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  Pref ace   

 At the end of the nineteenth century, researchers put forward the hypothesis that the 
Polar regions may play the key role in shaping the global climate. This supposition 
then found full confi rmation in empirical and model research conducted in recent 
decades. The intensifi cation of global warming after about 1975 brought into focus 
the physical causes of this phenomenon. The fi rst climate models, created at that 
time, and analyses of long observation series consistently showed that the Polar 
regions are the most sensitive to climate changes. This aroused the interest of 
numerous researchers, who thought that the examination of the processes taking 
place in these regions might help determine the mechanisms responsible for the 
‘workings’ of the global climate system. The urgent need to better recognize these 
processes in the Polar regions was probably the main impulse behind the organiza-
tion of the fourth International Polar Year (IPY) in 2007–2008. The success of this 
international scientifi c effort also infl uenced the decision to continue the greater 
than usual activity in the coming years, after the offi cial end of the fourth IPY 
(International Polar Initiative,   http://internationalpolarinitiative.org/IPIabout.html    ). 

 The fi rst edition of this book was published in 2003, just before the birth of the 
idea for that fourth IPY. Since that time, interest in the study of the Arctic climate 
has signifi cantly increased, due – among other reasons – to the dramatic changes in 
the environment observed in the Arctic following the large-scale warming of the 
area (more that 1°C above the long-term mean) that began in the mid-1990s. The 
most spectacular change was observed in sea ice characteristics (extent and thick-
ness). Suffi ce to say, that in 2007 and 2012, a record minimum sea ice was noted 
during September in the Arctic Ocean. The previously mentioned unprecedented 
level of interest in the Arctic climate resulted in the publishing of many new impor-
tant papers, books, reports, etc., of which the majority have been taken into account 
in this new edition of the  Climate of the Arctic.  

 The primary aim of the 11 chapters of this publication is to present the current 
state of knowledge of: (1) the Arctic climate in the second half of the twentieth 
century and its main drivers (Chaps.   1    ,   2    ,   3    ,   4    ,   5    ,   6    ,   7    ,   8    , and   9    ), and (2) changes in 
the Arctic climate over the last 10–11,000 years (Chaps.   10     and   11    ). In view of the 
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importance of climate change, this issue has been given more attention than is 
 customary in similar studies. In the fi rst chapter, a review of the criteria proposed at 
the beginning of the twentieth century to delimit the southern boundary of the Arctic 
is presented, along with the main geographical factors (geographical latitude, relief, 
type of surface, etc.) signifi cantly infl uencing changes in the Arctic climate. In 
Chap.   2    , a history of the development of views on atmospheric circulation in the 
Arctic is presented. Large-scale atmospheric circulation, as a climatic process, is 
described in detail for all seasons. The yearly cycle of sea-level atmospheric pres-
sure is also analysed. The chapter ends with the characterization of synoptic- and 
local-scale circulation. Chapter   3     starts with a description of the history of actino-
metric measurements in the Arctic and a review of the literature describing radiation 
and energy conditions. Then, sunshine duration conditions are described for some 
months of the year. Very detailed information is also given on the spatial distribu-
tion of radiation balance and all of its components in the Arctic for key months of 
the year, as well as for the entire year. The chapter ends with an analysis of the heat 
balance and its components (sensible and latent heat) in the study area. In Chap.   4    , 
a complex description of air temperature parameters (mean, maximum, minimum 
and diurnal temperature range) is presented. Analysis is made of, amongst others, 
spatial distributions of mean seasonal and annual values of these parameters in the 
Arctic, annual and daily cycles, and year-to-year variability. In addition, the effects 
of the infl uence of cloudiness on air temperature are presented. The chapter con-
cludes with a description of the results of recent studies of the frequency of occur-
rence of air temperature inversions, as well as other of their characteristics such as 
height, thickness and intensity. In Chap.   5    , a comparison of surface-, satellite-, 
model- and reanalyses-based cloudiness climatologies is presented. Annual cycle 
and spatial distribution features of cloudiness and fog in the Arctic are described 
and discussed. The different aspects of air humidity in the Arctic are presented in 
Chap.   6    . The annual cycles of air humidity characteristics as well as their mean 
spatial distributions in the two main seasons of the year (winter and summer) are 
described and discussed. The chapter ends with an analysis of vertical humidity 
changes in the troposphere, including the occurrence of humidity inversions. In 
Chap.   7    , a review of the available literature on the different aspects of the occur-
rence of precipitation and snow cover in the Arctic is made. The moisture content of 
the atmosphere in January and July is described fi rst, followed by a very detailed 
analysis including spatial distribution of precipitation and its changes in the annual 
course. The precipitation issue concludes with a description of the characteristics of 
the main features of the occurrence of the number of days with precipitation in the 
Arctic. At the end of the chapter, the main features of snow cover are summarized 
and discussed. Chapter   8     includes an analysis of ‘Arctic haze’ and the infl uence of 
this phenomenon on the climate through changes in the radiation balance of the 
atmosphere. Much time and attention is also given to the main sources and path-
ways of transport of pollutants between the mid-latitudes and the Arctic, as well as 
within the Arctic. The major chemical components of the Arctic haze in winter and 
summer are also described. In Chap.   9    , factors infl uencing climate diversity in the 
area of the Arctic and available climate regions are presented. A substantial part of 
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the chapter is devoted to a description of the most important features of the climate 
in the seven distinguished climate regions. In Chap.   10    , the state of knowledge of 
climate change and variability in the Arctic for three time periods (the Holocene, the 
last millennium and the instrumental period) is presented. A synthesis is separately 
conducted for three regions of the Arctic: Greenland, the Canadian High Arctic and 
the Eurasian Arctic. Besides standard climate change characteristics, the infl uence 
of atmospheric circulation on air temperature is also described at the end of the 
chapter. In Chap.   11    , the results of model simulations of the present-day Arctic cli-
mate are described and discussed. Scenarios for the future Arctic climate for four 
meteorological variables (air temperature, precipitation, atmospheric pressure and 
cloudiness) are then presented, based mainly on results obtained from the General 
Circulation Models. 

 It is now commonly accepted that the mean physical state of the atmosphere is 
one of the key elements of the Arctic Climatic System. Consequently, having a 
variety of climate data is indispensable not only to climatologists but also for other 
researchers of the Arctic environment (glaciologists, oceanographers, botanists, 
etc.). Up-to-date and reliable climate data are also requisite for validating climatic 
models. The author hopes that this book will be of particular interest to all research-
ers who represent the above scientifi c disciplines in their research. It should also be 
helpful to students of geography and related disciplines, both in the didactic process 
and in research, and may also be of use to all those who are interested in this part of 
the world. Finally, I would like to express my hope that the reader will fi nd the book 
gratifying in terms of readability and the usefulness of the information it contains. I 
would also like to apologize for any mistakes in the text that went unnoticed in the 
publication process. 

 It would not have been possible to carry out the research for the present volume 
without the fi nancial support provided by the Nicolaus Copernicus University in 
Toruń. For its assistance in securing this support I would like to thank the Dean of 
the Faculty of Earth Sciences, Professor Wojciech Wysota. I am very grateful to 
Elżbieta Rudź, M.Sc., and Tomasz Strzyżewski, M.Sc., for contributing their knowl-
edge and computer expertise in reproducing some of the graphics for the book. 
Special warm thanks are also directed to my editor at Springer, Mariëlle Klijn, for 
her assistance in the preparation of this book. Last but not least, I would like to 
thank my wife Dorota for assisting me in many ways and for all her personal sup-
port, particularly during the periods which I had to spend away from home.  

  Toruń, Poland      Rajmund     Przybylak    
  May 2015 
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    Chapter 1   
 Introduction       

               The word “Arctic” is derived from the Greek word  Arktos  (‘bear’). In its Latin 
equivalent, this occurs in the names of two constellations –  Ursa Major  and  Ursa 
Minor –  which circle endlessly around the one fi xed point in the heavens:  Polaris , 
the North Polar Star. 

1.1     Boundaries of the Arctic 

 The Arctic is not an easily defi nable geographic entity similar to, for example, 
Iceland, Lake Baykal, or even the Antarctic. Therefore, until recently, it has not 
been possible to arrive at any single  defi nition   of the area. Since the 1870s a large 
number of researchers representing different disciplines such as geography, clima-
tology, and botany have tried to establish a widely accepted criterion to delimit the 
Arctic boundary (Fig.  1.1 ). In almost all the geographical monographs and other 
books dealing with Arctic or Polar regions one can fi nd a variety of attempted defi -
nitions (e.g. Bruce  1911 ; Brown  1927 ; Nordenskjöld and Mecking  1928 ; Baird 
 1964 ; Sater  1969 ; Sater et al.  1971 ; Baskakov  1971 ; Petrov  1971 ; Barry and Ives 
 1974 ; Weiss  1975 ; Sugden  1982 ; Young  1989 ; Boggs  1990 ; Stonehouse  1990 ; Barry 
 1995 ; Bernes  1996 ; Przybylak  1996 ; Niedźwiedź  1997 ; Mills and Speak  1998 ; 
McBean et al.  2005 ; Hinzman et al.  2005 ). However, the most comprehensive 
reviews have been given by Petrov ( 1971 ) and Baskakov ( 1971 ). The oldest concep-
tion of the Arctic is one which considers it to be a region of the  Northern Hemisphere   
lying north of the Arctic Circle ( φ  = 66°33′N). The majority of the above authors 
agree that this astronomically distinguished line of latitude cannot be considered to 
be the real Arctic boundary. This  fact   was noted as early as 1892 by Bruce (Bruce 
 1911 ) and later in 1927 by Brown, who wrote, “The Arctic and Antarctic circles 
merely mark the equatorial limits of the zones in which the sun is never more than 
23°30′ above the horizon. […] The circles are astronomical lines without climatic 
signifi cance.” The careful reader will note that here Brown gives the wrong value of 
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the height of the sun. The correct value is 47° and can be ascertained using the for-
mula  h  = 90° −  φ  +  δ , where  φ  is the geographical latitude and  δ  is the declination of 
the sun.

   A more meaningful and more frequently used defi nition of the Arctic is a clima-
tological one. Among the many known climatic criteria,    the most popular is still the 
older proposition given by Supan ( 1879 , 1884), i.e. the 10 °C mean isotherm of the 
warmest month. This criterion was later modifi ed, fi rst by Vahl ( 1911 ) and then by 
Nordenskjöld ( 1928 ). Vahl did not determine the precise borders of the Polar 
regions, but, as  he   seems to have let it coincide with the tree line, he regarded the 
equation V < 9.5° − 1/30 K to be the most favourable for the determination of the 
position of this boundary. In this formula V and K denote the mean temperature of 
the warmest and coldest months, respectively. Nordenskjöld ( 1928 ) found that the 
role of the coldest month in determining the Arctic boundary should be greater than 

  Fig. 1.1    Boundaries of the Arctic.  1  – isotherm of the  warmest      month 10 °C,  2  – boundary of the 
Arctic after Nordenskjöld,  3  – line denoting net radiation of 62.7 kJ/cm 2 /year (15 kcal/cm 2 /year), 
 4  – boundary of the permafrost,  5  – Arctic Circle,  6  – boundary of the Arctic (After  Atlas Arktiki  
 1985 )       
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was assumed Vahl ( 1911 ). Therefore, he proposed a new formula: V < 9° − 0.1 K. In 
addition, he also extended it to the seawater areas (see Fig.  1.1 ). According to this 
criterion the Arctic includes regions in which the temperature of the warmest month 
ranges from 9 °C (when the temperature of the coldest month is 0 °C) to 13 °C 
(when the temperature of the coldest month is −40 °C). 

 The boundary of the Arctic can also be drawn using the criterion proposed by 
Gavrilova ( 1963 ) and Vowinckel and Orvig ( 1970 ). According to them, all areas 
where the net radiation balance is lower than 62.7 kJ/cm 2 /year (15 kcal/cm 2 /year) 
may be considered to belong to the Arctic (Fig.  1.1 ). The authors of the  Atlas Arktiki  
( 1985 ) have recently presented a new, very good, proposition. The  southern Arctic 
boundary   has been delimited using mean long-term values of almost all meteoro-
logical elements. Thus, the concept of climatic regionalisation is employed. The 
Arctic perimeter on the continents lies mostly between the boundaries of the 10 °C 
mean isotherm of the warmest month  and   the so-called  Nordenskjöld line   (Fig.  1.1 ). 
In addition, the authors of the  Atlas  have also distinguished seven climatic regions 
within the Arctic (Fig.  1.2 ). These facts have persuaded me to adopt their defi nition 
of the Arctic for the purposes of this monograph.

  Fig. 1.2    Boundaries of the Arctic ( 1 ) and climatic regions ( 2 ) (After  Atlas Arktiki   1985 )       
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   The third criterion quite often used (aside from astronomical and climatological 
criteria) is a (geo)botanical one. The southern boundary of the  tundra      or the northern 
boundary of the tree line is considered to be the natural boundary of the Arctic. 
Supan ( 1879 , 1884), in his classifi cation of climates, was probably the fi rst to dis-
tinguish the Arctic area using both climatological and geobotanical criteria. The 
areas distinguished show a good correlation and most other later analyses confi rm 
Supan’s fi nding. Sugden ( 1982 ) presents several advantages of using the tree line to 
delimit the southern land boundary of the Arctic. He writes, “Not only does it rep-
resent a fundamentally important vegetation boundary, but it is also important in 
terms of animal distributions. It coincides approximately with a  mean   July  tempera-
ture   isotherm of 10 °C and thus is also of climatic signifi cance.” However, one must 
be aware that there are also some disadvantages of this criterion. For example, as 
many as three possibilities to defi ne the boundary of the Arctic can be used: a north-
ern limit of continuous forest, a northern limit of erect trees, or a northern limit of 
species. For more details, see Hare ( 1951 ) and references therein. 

 Almost all the above-presented criteria should be used exclusively with reference 
to land Arctic regions. However, in the present analysis we also need to establish 
boundaries over sea areas. A number of researchers, mainly oceanographers, have 
suggested replacing the boundary at sea delimited using the above criteria with a 
boundary delimited using more appropriate criteria for a water environment. For 
example, Baskakov ( 1971 ) suggests that the boundary of the Arctic in the sea areas 
should be drawn according to  oceanological characteristics,   i.e. hydrological, ice, 
and geomorphologic. He has provided us with the most comprehensive defi nition of 
the oceanic Arctic region and I cite here only the most important fragment: “Those 
water areas may be considered part of the oceanic Arctic region which, during the 
cold period of the year, are generally (average outfl ow over a several year period) 
covered by sea ice of various ages including  perennial   ice, and in which the upper 
layer of water under the ice (of a depth of not less than 30 m) has negative tempera-
ture and low salinity (less than 34.5 ‰).” Simply speaking, as a sea boundary of the 
Arctic one can accept the southernmost extent normally reached by the Arctic 
Waters. 

 At the end of this section, one should also mention the opinion of some research-
ers (Armstrong et al.  1978 ; Sugden  1982 ; Stonehouse  1990 ) who are convinced that 
it is practically impossible to achieve a delimiting of the precise boundary of the 
Arctic which will gain the acceptance of scientists from different disciplines. 
Sugden ( 1982 ) has written, “…the boundaries should remain fl exible. Some bound-
aries seem appropriate for some purposes and other boundaries for others.” To a 
certain extent it is possible to agree with this view. However, I think that an Arctic 
boundary should be at least agreed on among scientists of the same discipline, e.g. 
among climatologists. In an era of  global warming,   this is becoming more and more 
urgently needed. Otherwise, our estimations of mean Arctic climatic trends may be 
equivocal (see Przybylak  1996 ,  2000 ,  2002 ).  
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1.2     Main Geographical Factors Shaping the Climate 

 Undoubtedly, geographical latitude  is   the main factor determining the weather and 
climate both in the Arctic and elsewhere. For the purpose of this work, the Arctic 
has been defi ned after  Atlas Arktiki  ( 1985 ) (Fig.  1.2 ). From Fig.  1.2 , it can be seen 
that the southern boundary of the Arctic thus defi ned ranges between about 54 °N 
(the Labrador Peninsula) to about 75 °N near Spitsbergen. No matter how we defi ne 
the Arctic, its location in high latitudes limits signifi cantly the magnitude of receiv-
ing energy from the sun. In regions lying beyond the Arctic Circle, the most unusual 
 feature   is the occurrence of seasonal day and night. As we know, the length of both 
polar night and polar day varies from 1 day at the Arctic Circle to about 6 months at 
the North Pole (Fig.  1.3 ). In addition, because of the atmospheric refraction, the 
total time when the sun is visible over the horizon during the year is greater at high 
latitudes than in more temperate latitudes. Also, since the sun crosses the horizon at 
a shallow angle in the Arctic, dawn and dusk persist for long periods before and 
after the sun is visible. As a result, winter days are much longer here than summer 
nights. The elevation of the sun in noon anywhere cannot be higher than about 47°. 
This fact is mainly responsible for the lower income of the  solar energy   (on an 
annual basis) here than in lower latitudes. However, the total solar radiation in June, 
which the Arctic receives at the top of the atmosphere, is even higher than in equato-
rial areas. For example, the solar irradiance fl ux reaching the upper boundary of the 
earth-atmosphere system is equal to 129 kJ/cm 2  (31 kcal/cm 2 ) and 98.2 kJ/cm 2  (23.5 
kcal/cm 2 )  at   the 80 °N and the equator, respectively (Budyko  1971 ). From a clima-
tological point of view, however, it is only the solar radiation absorbed by the sur-
face which is important. Due to the high albedo of the earth-atmosphere system in 
the Arctic, this component of the radiation balance is markedly lower than in the rest 
of the globe. Looking at the map of the Arctic, one can easily see that the Arctic, in 
contrast to the Antarctic, consists of an ocean encircled by land. The central main 
part of the ocean is called the  Arctic Ocean   and is ice covered year-round, while 
snow and ice are present on the land for almost all the year. The  land encompasses   
the northern parts of two major land masses – Eurasia and North America – as well 

  Fig. 1.3    Duration of daylight and  darkness   in the latitude band 60°–90 °N (After CIA  1978 )       
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as quite a large number of islands, especially on the American side. Of these the 
largest are Greenland (2,175,600 km 2 ), Baffi n Island (476,070 km 2 ), Ellesmere 
Island (212,690 km 2 ), and Victoria Island (212,200 km 2 ) ( The Times Atlas of the 
World   1992 ). The area of Greenland, including the islands, is 2,186,000 km 2  (Putnins 
 1970 ). A substantial break in the ring of land exists only between Greenland and 
Norway (Fig.  1.2 ). Other breaks between Asia and America (the Bering Strait) and 
between the islands of the Canadian Arctic Archipelago are of marginal signifi -
cance. The highest mountains are to be found in  south-eastern Greenland  ,    where 
two summits rise over 3000 m a.s.l.: Gunnbjörn Fjeld (3700 m,  φ  = 68°54′N, 
 λ  = 29°48′W) and Mt. Forel (3360 m,  φ  = 67°00′N,  λ  = 37°00′W) ( The Times Atlas of 
the World  1992). Much of the Arctic is low lying, except for the Greenland ice sheet, 
the ice-covered mountains of Ellesmere and  Axel Heiberg islands  , and the moun-
tains in the northern part of the  Beringia region  . The differentiated infl uence of land 
and sea areas on the climate of the Arctic is signifi cantly lower than in the moderate 
latitudes. This is true, particularly in winter, when the land and most of the sea areas 
are covered by snow. The long-term mean depths of snow cover for May, calculated 
from measurements taken mainly in Russian drifting stations NP3– NP31 over the 
period 1954–1991, vary from 30 to 40 cm in the central part of the Arctic to more 
than 80 cm in the mountainous regions. The maximum snow-cover depth is most 
often observed in April or May except in the Canadian Arctic, where it is observed 
in March. The decay of the snow cover begins in the south of the Arctic in the fi rst 
10 days of June and in the vicinity of the Pole in mid-July. The number of days with 
snow cover is greatest in the central Arctic (more than 350 days). This number 
decreases towards the south and is equal to about 280–300 days across those Arctic 
islands which have a continental climate (for more details see sub-Sect.   7.3    ).

   In general, three  physical characteristics of   snow – high refl ectivity, high infrared 
emissivity, and high insulating property – mean that it plays a very important cli-
matic role. The high albedo of the snow surface signifi cantly reduces the net radia-
tion balance of the surface and low troposphere. The high infrared emissivity of 
snow is one of the most important factors, which causes near-surface atmospheric 
temperature inversions, especially in the cold half-year. In addition, it helps in the 
development and stabilising of the anticyclones. Snow cover, as one of the best 
insulators of all known natural surfaces, is a very important element in the 
 atmosphere- cryosphere-ocean system  ,    and thus signifi cantly infl uences heat trans-
port. A snow cover of more than 15 cm in depth may completely stop the heat 
transport between the atmosphere and land or sea ice. 

 The Arctic Ocean and its bordering seas occupy an area of 14 million km 2  (Barry 
 1989 ). In late winter (February–March) almost all this area is covered by sea ice. 
During the summer (August–September), and particularly in September, the sea ice 
is at its minimum extent (approximately 8 million km 2 ). In recent years, however, a 
dramatic decline in the area of the sea ice has been observed. Over the period of 
modern satellite observations (1979–2006), the decline in September sea ice has 
been equal to −9.1 % per decade (Stroeve et al.  2007 ). As a result of this continuing 
tendency, in two years (2007 and 2012), when the lowest extent of sea ice in 
September was observed, its area had fallen below 5 million km 2  (Fig.  1.4 ).
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   The role of the sea ice in shaping the climate of the Arctic, and indeed that of the 
whole globe, is crucial. Generally, four main properties of the sea ice contribute to 
this. The fi rst property is the signifi cantly higher albedo of sea ice (0.5–0.7) in com-
parison to an open ocean (0.1). As a result, water  covered      by sea ice absorbs much 
less radiation than do open waters. A second property is the insulating role of the  sea 
ice,      restricting the exchange of heat and moisture between ocean and atmosphere. 
Maykut ( 1978 ) reported that the measurements of wintertime sensible heat fl ux 
showed that between 10 and 100 times more heat is transferred from a calm open-
water ocean to the atmosphere than from an ocean covered by a 2-m layer of sea ice. 
A third property is the large latent heat of freezing and melting, which makes  sea ice 
act as      a thermal reservoir delaying the seasonal temperature cycle. These processes 
also alter the salinity content of the upper layers of the ocean. During freezing, a sea 
salt is forced out of the sea ice (resulting in an increase of salinity in the water); on 

  Fig. 1.4    Arctic sea ice extent for September 16, 2012. The orange line shows the 1979–2000 
median extent for that day. The black cross indicates the geographic North Pole (After National 
Snow and Ice Data Center, University of Colorado, Boulder)       
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the other hand, during melting, the fresh water transferred to the upper layers 
reduces its salinity. Wadhams ( 1995 ) has drawn our attention to the fact that sea-ice 
motion (a fourth property), driven mainly by wind stress, is also very important for 
climate and climate-change studies. Processes connected with this motion, such as 
divergence and convergence of  sea ice,      create leads and pressure ridges, respec-
tively. The latter forms contain about half of the total Arctic ice volume (Wadhams 
 1981 ). As a result of these processes, atmosphere–ocean heat and moisture fl uxes 
are highly time- and space-dependent. 

 Sea ice in the Arctic never exists as an unbroken cover or as a fl oating ice cap. 
Three categories of sea ice can be distinguished here: Polar Cap Ice, Pack Ice, and 
Fast Ice (Pickard and Emery  1982 ).  Polar Cap Ice covers      about 70 % of the Arctic 
Ocean. It occurs in the vicinity of the Pole near the 1000-m isobath and consists of 
ice which is several years old. In winter, the average thickness of undisturbed ice is 
about 3–4 m, but hummocks can increase the height locally up to 10 m a.s.l. In sum-
mer, the average thickness decreases to about 2.5 m. The  Pack Ice lies      outside the 
polar cap and covers about 25 % of the Arctic area. Its areal extent is greatest in May 
and lowest in September. The  Fast Ice grows      seawards from the coast to the pack. It 
is most often anchored to the shore and extends out to about the 20–30-m isobath. 
The Fast Ice occurs only in wintertime and its thickness reaches 1–2 m. Sea ice in 
the Arctic is  continually      in motion as a result of the effects of wind, tide, and ocean 
currents. The same factors create open-water areas known as  leads and polynyas. 
Leads      are cracks in the ice which are a few kilometres in width and tens of kilome-
tres long, though which are often short lived. On the other hand, polynyas are large 
open-water areas in the frozen sea and range in size from a few hundred square 
meters to thousands of square kilometres. Polynyas appear in winter when the air 
temperature is well below the freezing point of seawater. The role of open-water 
areas in the Arctic climate system is suffi ciently important to be studied more seri-
ously by climatologists. Through these areas the Arctic surface loses huge amounts 
of heat because sea-surface temperature in winter can be up to 20 °C higher (as in 
the case of the so-called North Water polynya in the northern part of Baffi n Bay) 
than that of the surrounding areas and because there is no sea-ice cover, which sig-
nifi cantly reduces the heat exchange between the ocean and the atmosphere, as was 
mentioned above. 

 Another type of ice which occurs in the Arctic takes the form of icebergs and 
 originates      as a result of the “calving” of tidewater glaciers. Each year a highly vari-
able number of these navigational hazards (about 1000 across the 55 °N latitude) 
move southward into the Atlantic together with the cold water of East Greenland 
and Labrador Currents. 

 Coachman and Aagaard ( 1974 ) distinguished three main water masses in the 
Arctic Ocean: the surface or Arctic Water from the sea surface to a depth of 200 m, 
the Atlantic Water from 200 to 900 m, and the Bottom Water below 900 m. For the 
study of the Arctic, climate knowledge of the Arctic Water is most important  and 
     this can be divided into three layers: the Surface Arctic, the Sub-surface Arctic, and 
the Lower Arctic Waters. The physical characteristics of these types of water masses 
are provided in Table  1.1  and Fig.  1.5 . Surface waters extend from the surface to 
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depths of about 25 and 50 m. Both the salinity and temperature of the water is 
strongly controlled by melting and freezing. As a result, the temperature oscillates 
near the freezing point of seawater, which varies only from −1.5 °C at a salinity of 
28 ‰ to −1.8 °C at a salinity of 33.5 ‰. Throughout the year both salinity and tem-
perature show rather small changes, which range up to 2 ‰ and 0.1–0.2 °C, 
respectively.

    The  surface water      and sea-ice circulation in the Arctic has been largely known 
from the observed drift of camps on the ice, fl oe stations, and ships.  The       earliest 
information comes from the famous “Fram” drift (1893–1896) and from the ice-
breaker “Sedov” drift (1937–1940). Observational evidence together with theoreti-
cal calculations of upper-layer circulation based on water density distribution give a 
 consistent      picture of circulation in the Arctic (Fig.  1.6 ). In the Beaufort Sea, the 
surface waters have a clockwise movement in agreement with the anticyclonic pat-
tern of blowing winds and lead out to the East Greenland Current. From the Eurasian 
side of the Arctic Ocean, the surface waters move towards North Pole and exit the 
Eurasian Basin as the  East Greenland Current  .       This current is known as the 
Transpolar Drift Stream. The speeds of these waters are of the order of 1–4 cm/s 
(300–1200 km/year). It is worth to add here that a sea-ice circulation in the Arctic 
Ocean is similar to the described above circulation of the surface water currents.

   The circulation of the  Atlantic Water    is   basically counter-clockwise around the 
Arctic Ocean, i.e. in a direction opposite to that of the Arctic Water above it (Pickard 

   Table 1.1    Arctic Sea water masses   

  Water   mass  Properties 

 Name (circulation 
direction) 

 Boundary 
depth  Temperature (T) and Salinity (S) 

 Seasonal 
variation 

 Surface 
  Arctic   surface  25–50 m  T: Close to F.P., i.e. –1.5 to −1.9 °C 

S: 28–33.5 ‰ 
 DT: 0.1 °C 
DS: 2 ‰ 

 Arctic sub-surface  100–150 m  T: Canadian Basin −1 to −1.5 °C  Small 
 Eurasian Basin −1.6 °C to 100 m, 
then increase 
 S: Both basins 31.5–34 ‰ 

 Arctic  lower   
(all above masses 
circulate clockwise) 

 200 m  Intermediate between Sub- surface 
and Atlantic 

 Atlantic (anticlockwise)  900 m  T: Above 0 °C (to 3 °C) 
S: 34.85–35 ‰ 

 Negligible 

  Bottom   
(uncertain, small) 

 Bottom  2000 m  Bottom  (rise adiabatic) 
 T: Canadian 
Basin 

 –0.4 °C  –0.2 °C 

 Eurasian Basin  –0.8 °C  –0.6 °C 
 S: Both Basins  34.90–34.99 ‰ 

  After Pickard and Emery ( 1982 )  
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and Emery  1982 ). The Atlantic Water (West Spitsbergen Current) enters the Eurasian 
Basin from the Greenland Sea and fl ows further east along the edge of  the      Eurasian 
continental slope. Some waters branch off to the north and leave the Arctic as part 
of the  East Greenland Current  . The remainder fl ow across the Lomonosov Ridge 
into the Canadian Basin. The mixed Arctic (East Greenland Current) and Atlantic 
(Irminger Current, south-west of Iceland) Waters mass round the southern tip of 
Greenland and reach the Labrador Sea. Further, they fl ow as the West Greenland 
Current to Baffi n Bay. This infl ow of water is balanced by the southward fl ow of the 
 Baffi n Island Current   and  Labrador Current  . There is also evidence that signifi cant 
quantities of water of Atlantic origin enter the Arctic Ocean via the Barents and 
Kara shelves, where they may be considerably modifi ed. Some warm water comes 
to the Arctic from the Pacifi c through the Bering Strait (see Fig.  1.6 ). The principal 
outfl ows from the Arctic Ocean are through the Fram Strait and the Canadian Arctic 
Archipelago. 

  Fig. 1.5    Typical temperature and salinity profi les for the Arctic Sea (the  Eurasian   and Canadian 
basins) (After Pickard and Emery  1982 )       
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 According to research conducted by Alekseev et al. ( 1991 ), the advection of 
warmth from the lower latitudes supplies more than 50 % of the annual heat supply 
to the Arctic climate system. Most of this warmth (95 %) is, however, transported 
by atmospheric circulation, with the remainder (5 %) being transported by oceanic 
circulation (Khrol  1992 , for details see Table 2.16 in Alekseev et al.  2003 ). However, 
as Alekseev et al. ( 2003 ) argue “…oceanic processes have a signifi cant infl uence on 

  Fig. 1.6    Arctic Sea and North Atlantic adjacent seas: bathymetry and surface currents (After 
Pickard and Emery  1982 )       
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Arctic climate formation, which is not restricted to its direct contribution”. In  winter, 
during the polar night, only these two fl uxes of warmth reach the Arctic and protect 
it from signifi cant radiation cooling.     
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    Chapter 2   
 Atmospheric Circulation       

2.1                   Development of Views on Atmospheric Circulation 
in the Arctic 

 In the late ninteenth century, scientists undertook attempts to construct various 
schemes of atmospheric circulation in the Arctic on the basis of theoretical consid-
erations. Ferrel ( 1882 ,  1889 ) argued that the mid-latitude westerlies circulate around 
a large low pressure system occurring in the Arctic with its centre above the Pole. 
His idea was preserved until the publication of the meteorological observations 
from the  “Fram” drift      (Mohn  1905 ), and according to Hobbs ( 1926 ) even until 1920. 
Mohn, analysing data from “Fram”, confi rms an opposite conception to that which 
had been presented by Ferrel, and earlier by Helmholtz ( 1888 ), of the predominance 
of high pressure and anticyclonic circulation in the Arctic. This concept, further 
developed by Hobbs ( 1910 ,  1926 ) in his “ glacial anticyclone theory  ”, was generally 
accepted by the majority of meteorologists and climatologists and was very popular 
in the 1920s and 1930s (e.g. Brown  1927 ; Shaw  1927 ,  1928 ; Bergeron  1928 ; 
Clayton  1928 ; Baur  1929 ; Schwerdtfeger  1931 ; Sverdrup  1935 ; Vangengeim  1937 ). 
It was known as the “permanent Arctic anticyclone”  hypothesis  . Even Sverdrup 
( 1935 ), having strong evidence from the “Maud” expedition that deep cyclones also 
enter the Arctic Ocean in winter, did not challenge this opinion. The supporters of 
the Arctic anticyclone hypothesis argued that, on average, the atmospheric pressure 
at sea level in the central Arctic was higher than at temperate latitudes, and the pres-
sure maximum coincided with the temperature minimum. Nothing changed until 
the publication of the meteorological and aerological observations carried out on 
the Soviet drifting station NP-1 (Dzerdzeevskii  1941–1945 ), which confi rmed and 
signifi cantly supplemented the observations of the  “Maud” expedition     . The obser-
vations provided extensive evidence of the absence of a permanent anticyclone in 
the Arctic. Dzerdzeevskii ( 1941–1945 ) showed that both in winter and summer 
various types of isobaric systems occur in the Arctic, including intense cyclones. In 
addition, he calculated that the number of days with cyclones in summer was equal 
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to, or exceeded, the number of days with anticyclones. This and other strong evi-
dence presented in his work eventually led to the rejection of the erroneous hypoth-
esis that a stable polar anticyclone occurs in the Arctic. The delay in reaching this 
conclusion was caused, among others, by the ideas and assertions of Hobbs ( 1926 ), 
which were highlighted again in two papers published in 1945 (Dorsey  1945  and 
Hobbs  1945 ). Even up to 1950, Hobbs ( 1948 ) maintained that a semi-permanent 
Arctic high in the Arctic should be present (Jones  1987 ). The most comprehensive 
review is presented in Dzerdzeevskii’s work and in its English translation 
(Dzerdzeevskii  1954 ). 

 All synoptic charts prior to about 1931 (the U.S. Historical Weather Map series), 
as well as both the NCAR and UKMO grid-point pressure data sets constructed 
using these maps, show excessively high values of the mean sea level pressure in the 
Arctic (up to 8 hPa over the central Arctic away from the North Atlantic sector) 
(Jones  1987 ). Jones further writes that the reason for this is “…a lack of basic sta-
tion data, and the belief amongst many North American meteorologists of the 1920s 
and 1930s of the existence of a polar or glacial anticyclone.”  

2.2     Large-Scale Atmospheric Circulation 

 The Arctic must import heat from southerly latitudes due to the net radiation loss to 
space from the top of the atmosphere. Investigations have also shown that almost 
the entire defi cit of energy is supplemented by atmospheric circulation (see previous 
chapter). This fact ascribes considerable importance to atmospheric circulation as a 
climatic factor. 

 Schemes of general atmospheric circulation which are frequently published in 
handbooks show the occurrence of the so-called “ polar cell     ” in the Arctic. In this 
cell, cold dense air fl ows out from a polar high pressure centre towards a belt of low 
pressure located about 60–65°N. As a result, easterly and north-easterly winds 
should dominate in the Arctic. However, in reality, as we know from the previous 
section, the Arctic high is by no means a quasi-permanent feature of the arctic cir-
culation. Thus, easterly winds are a characteristic phenomenon only for the Atlantic 
and Pacifi c sectors of the Arctic. Calculations of the average wind directions for the 
whole Arctic have not shown any coherence system of polar latitudes either (Barry 
and Chorley  1992 ). Clearly simpler is the circulation in the middle and upper tropo-
sphere between about 3 and 10 km, where a  circumpolar cyclonic vortex   occurs 
(Barry and Hare  1974 ). In these layers, the general westerly air circulation is present 
as a result of the large-scale  equator-to-pole temperature gradient   and the  Earth’s 
rotation   (Fig.  2.1 ).

   Investigations of the atmospheric pressure fi eld in the Arctic were, and still are, 
limited by an observation network which is generally too sparse. As has been men-
tioned earlier, the earliest views presented were based on theoretical considerations. 
Mohn ( 1905 ) published probably the fi rst maps of atmospheric  pressure distribution   
in the Arctic. The next, improved analysis, was provided by Baur ( 1929 ). He used 
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  Fig. 2.1    Mean height (gpm) of the 300 hPa surface for ( a ) January and ( b ) July (After Crutcher 
and Meserve  1970 )       
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all the available data from different expeditions (e.g. the Fram expedition) and data 
 collected   during the  First International Polar Year of 1882/1883  . According to 
Rodewald ( 1950 ), Baur’s mean annual chart can be accepted as representative for 
the years 1874–1933. Later maps became increasingly detailed (e.g. Sverdrup  1935 ; 
Dzerdzeevskii  1941–1945 ; Dorsey  1949  (unpublished) presented by Petterssen 
et al.  1956 ; Prik  1959 ; Baird  1964 ; Crutcher (unpublished) presented by Barry and 
Hare  1974 ; Colony and Thorndike  1984 ; Gorshkov  1980 ;  Atlas Arktiki   1985 ; 
Serreze et al.  1993 ; Rigor and Heiberg  1997 ). The authors of the fi rst two maps 
assumed the existence of a permanent Arctic anticyclone in the central Arctic. As 
Baur ( 1929 ) wrote “…In all months of the year the pressure at the North Pole is 
higher than at 70° north latitude…” Similar conclusions were presented by Sverdrup 
( 1935 ), whose research resulted in corrections and supplementations to  Baur’s 
maps  . Since the second half of the 1930s, Soviet scientists have intensifi ed the 
investigation of the Arctic climate, mainly using data obtained from drifting stations 
NP-1 (1937) – NP-31 (1991) fl oating on the Arctic Ocean. As has been mentioned 
earlier, the results of meteorological observations carried out during the drift of the 
fi rst station (Dzerdzeevskii  1941–1945 ) helped to change the view of the distribu-
tion of atmospheric pressure in the Arctic. Later on, these investigations were con-
ducted mainly by Prik, who in 1959 published her very well-known work (where air 
temperature was also presented) which has been cited by many authors (Stepanova 
 1965 ; Vowinckel and Orvig  1970 ; Barry and Hare  1974 ; Sugden  1982 ). Generally, 
Prik ( 1959 ) confi rmed the results presented by Dzerdzeevskii, but, of course, also 
introduced some changes. She showed that the Arctic anticyclone could only be 
found as a bridge of high pressure connecting the  Siberian high   with the Canadian 
high in the winter months, while in some cases it appeared in the form of a small 
anticyclone over the  Canadian Arctic Archipelago  . In the 1960s (Baird  1964 ) and 
1970s (Crutcher, unpublished, after Barry and Hare  1974 ), maps presenting the 
mean sea- level pressure were published. However, they did not give any informa-
tion about the data used in the process of map construction. In comparison with 
 Prik’s maps  , they are less detailed. Generally, the January pressure distribution in 
the Arctic is similar in all maps, except those of Greenland. Over Greenland, we 
may notice the occurrence of anticyclones (Prik  1959 ) or at least wedges of high 
pressure (Baird  1964 ; Barry and Hare  1974 ). On the other hand, large differences 
occur in the summer distribution of air pressure.  Baird’s map   ( 1964 ) shows the pres-
ence of high pressure in the vicinity of the North Pole. Crutcher presents quite a 
similar pattern. On his map, instead of a high-pressure centre, a wedge of high-
pressure covers the Pole, while on Prik’s map a low-pressure centre surrounds the 
North Pole. In the 1980s, two atlases were published in Russia, in which syntheses 
of the Arctic climate (among others) are presented (Gorshkov  1980 ;  Atlas Arktiki  
 1985 ). The charts of the distribution of atmospheric air pressure in both of these 
atlases were prepared by Prik. In the fi rst atlas, the mean air pressure distribution for 
the period 1881–1970 for each month is presented. In the second one, only the mean 
air pressure for January and July 1881–1965 is shown. It seems to me that, at pres-
ent, these atlases are the best sources of information about the mean sea-level air-
pressure distribution in the Arctic. Therefore, they have been used to describe in 
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detail the patterns of this element in the area studied. However, I must mention here 
a new possibility which supplements and improves our knowledge concerning pres-
sure distribution in the central Arctic. Since 1979, a network of Arctic drifting buoys 
has been operated through the University of Washington Polar Science Center 
(Thorndike and Colony  1980 ; and subsequent reports through Rigor and Heiberg 
 1997 ). The pressure analysis published by Thorndike and Colony for the period 
1979–1985 uses data from a dozen buoys and approximately 70 coastal and island 
stations around the Arctic Ocean. According to McLaren et al. ( 1988 ), they are more 
accurate than earlier Arctic pressure fi elds. This conclusion, it seems to me, is rather 
untrue, because Prik (for example) used data from 290 stations and 20 drifting sta-
tions in constructing the maps published in  Atlas Arktiki  ( 1985 ). In any case, data 
from buoys should signifi cantly improve our knowledge concerning the distribution 
of air pressure in the Arctic. Maps presenting the mean sea-level pressure for 
January and July (1979–1996) published by Rigor and Heiberg ( 1997 ) and Frolov 
et al. ( 2005 ) show a generally similar pattern to those published in the  Atlas Okeanov  
and  Atlas Arktiki  (Figs.  2.2a–d ). This is also true for mean sea-level pressure charts 
drawn from the data of different reanalyses (see, for example, Figure 4.9 in Serreze 
and Barry  2005 , NCEP/NCAR data, or Figure 3.30 in Turner and Marshall  2011 , 
ECMWF data). Serreze et al. ( 1993 ), examining climatological patterns of Arctic 
synoptic activity for the period January 1952–June 1989, found only slightly differ-
ent results. The authors have used National Meteorological Center sea-level pres-
sure data set, which, since 1979, have incorporated data from arrays of drifting 
buoys from the  Arctic Ocean Buoy Program  . For winter, Serreze et al. ( 1993 ) 
received results similar to those from most of the other works cited here, including 
 Atlas Arktiki  ( 1985 ). In summer, a much greater difference between these sources 
exists, although the general pattern is also quite similar. This concerns, in particular, 
the location of anticyclone pressure centres. In contrast to the map published in 
 Atlas Arktiki  (Fig.  2.2c ), Serreze et al. ( 1993 ) found the lack of a mean summer low 
both in the central Arctic and in the eastern part of the Canadian Arctic, although a 
decrease in sea-level pressure is evident in their map.

   The  winter pressure fi eld   consists of two main belts. The fi rst one, with low air 
pressure, encompasses the entire Atlantic sector of the Arctic up to the North Pole 
(Fig.  2.2a ) and is mainly controlled by the dynamic of the Icelandic low. Near 
Iceland on the Arctic, front cyclones are generated, which then move into the Arctic, 
reaching as far as the Kara Sea. As a consequence of this process, in the mean pres-
sure fi eld, the so-called  Iceland-Kara Sea trough   can be seen. Another extensive 
trough covers the Baffi n Bay region. The second belt with high air pressure encom-
passes almost all other parts of the Arctic, excluding the Bering Sea and Bering 
Strait regions. In this part of the Arctic, half way between the Siberian high and the 
Canadian high, a small centre of high pressure (>1021 hPa) is present (Fig.  2.2a ). 

 In  spring   (Fig.  2.2b ), represented by the mean pressure fi eld for April, high pres-
sure may be found to dominate in the whole Arctic, with the maximum (>1020 hPa) 
in the northern parts of the Canadian Arctic and Greenland, in the Beaufort Sea, and 
in the part of the Arctic Ocean neighbouring these areas. The lowest air pressure 
(<1012 hPa) is only over the Norwegian and Barents seas. One can agree with the 
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  Fig. 2.2    Spatial distribution of average air pressure for January ( a ), April ( b ), July ( c ), and October 
( d ) in the Arctic (After  Atlas Arktiki   1985  (January and July) and Gorshkov  1980  (April and 
October))         
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Fig. 2.2 (continued)
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assertion made by Vowinckel and Orvig ( 1970 ) that in spring the anticyclonic activ-
ity occurs most often over the central Arctic and that in this season the old concept 
of “Arctic anticyclone” is closest to being fulfi lled. Maps of mean sea-level pres-
sure presented for April, 1970–1999 (Serreze and Barry  2005 , p. 94) and March–
May, 1979–2009 (Turner and Marshall  2011 , p. 115) also fully confi rm this 
statement. 

  The  summer pressure fi eld   (Fig.  2.2c ) shows two centres of high pressure: the 
fi rst one covers the central part of the Atlantic region (from Novaya Zemlya to Jan 
Mayen Island), and the second is located over the Beaufort Sea, Alaska, and the 
MacKenzie Basin. The data for Greenland are not presented on this chart. However, 
there is some evidence that in the northern part of this island a third centre of high 
pressure exists (see Serreze et al.  1993 , their Figure 9). A small low-pressure centre 
(<1010 hPa) in the vicinity of the North Pole separates the fi rst two high-pressure 
centres. A trough of low pressure spreads from here to the eastern part of the 
Canadian Arctic (where a clear low-pressure centre, < 1008 hPa, exists) on the one 
hand, and to the central part of the continental Russian Arctic on the other. It is 
worth noting that the differentiation of air pressure in summer in the Arctic is sig-
nifi cantly lower than in other seasons, especially winter. According to Serreze et al. 
( 1993 ), this may be due to “a more even distribution of cyclonic activity than 
observed in winter, the general lack of spatial variations in mean cyclone and anti-
cyclone pressures, as well as the tendency in other regions for alternation between 
cyclonic and anticyclonic regimes. ” 

 In  autumn   (Fig.  2.2d ), the pattern of air-pressure distribution in the Arctic is 
quite similar to that of winter. However, neither high-nor low-pressure centres are as 
strong as in winter. On the other hand, the area covered by the Iceland-Kara Sea 
trough in autumn is greater than in winter and reaches the vicinity of Severnaya 
Zemlya. The same is true of the low pressure occurring in the region of the Baffi n 
Bay and Pacifi c sectors of the Arctic. 

 One can see that the charts do not present the distribution of atmospheric pres-
sure over Greenland. However, from other sources (e.g. Prik  1959 ; Rigor and 
Heiberg  1997 ; Serreze and Barry  2005 ; Turner and Marshall  2011 ) we can say that 
over the year as a whole there is the occurrence of a semi-permanent high-pressure 
centre (or at least a wedge of high pressure). 

 From this short review, it is evident that  sea-level atmospheric pressure   has a 
clear, yearly cycle in the Arctic. The highest values of mean monthly pressure in the 
continental parts of the Arctic are observed from November to May, and vary from 
about 1013 to 1022 hPa. The North Pole has signifi cantly lower atmospheric pres-
sure (by about 5 hPa) in comparison with western and, in particular, eastern parts of 
the Arctic (see Figure 2.7 in Frolov et al.  2005 ). On the other hand, the markedly 
lowest atmospheric pressure is evident in July and August, when its values oscillate 
from about 1007 to 1012 hPa. The least pressure diversity was noted in two periods 
(April–June and September–October), when differences between mean monthly 
values calculated for different parts of the Arctic do not exceed 3 hPa (Frolov et al. 
 2005 ). On the other hand, in the parts of the Arctic having a clearly oceanic climate 
(the Atlantic sector), the highest pressures were observed in July and the lowest in 
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January (Cullather and Lynch  2003 ). This can be easily explained by the area’s 
signifi cantly greater cyclone activity in winter than in summer. Walsh ( 1978 ) 
 averaged sea-level pressure for latitude band 70–90°N and found a semi-annual 
cycle, with maxima in April and November, and minima in July and February.  

2.3      Synoptic-Scale Circulation   

  Similarly to the mid-latitudes, synoptic-scale disturbances control the daily weather 
events in the Arctic. Vangengeim ( 1952 ,  1961 ) showed that changes of synoptic 
processes in the Arctic are about 1.5 times faster than in moderate latitudes. Working 
from this and other facts given earlier, it can be concluded that the climate of the 
Arctic is signifi cantly more sensitive to atmospheric circulation variability than the 
climates in both moderate and low latitudes. 

 The fi rst analysis of the frequency of cyclones and anticyclones, as well as their 
tracks, based on measurements made on the drifting station North Pole-1 (11 May 
1937–19 February 1938) was given by Dzerdzeevskii ( 1941–1945 ,  1954 ). These 
publications are very important for our understanding of the pressure pattern in the 
central Arctic and were translated into English by the University of California, 
Department of Meteorology, appearing in Scientifi c Report No. 3, 1954. 
Dzerdzeevskii was the fi rst to draw a map presenting the frequency of the number 
of days with cyclonic activity for each month from the period May–October. He 
also distinguished six types of cyclonic activity in the Arctic. 

 However, the fi rst real cyclone and anticyclone climatologies could not be made 
until the turn of the 1950s and 1960s, when synoptic charts were more reliable due 
to a denser network of stations (Keegan  1958 ; Ragozin and Chukanin  1959 ; Reed 
and Kunkel  1960 ; Gaigerov  1962 ,  1964 ). From the more recent works, one can 
mention McKay et al. ( 1970 ), Gorshkov ( 1980 ), LeDrew ( 1983 ,  1984 ,  1985 ), 
Whittaker and Horn ( 1984 ),  Atlas Arktiki  ( 1985 ), Serreze and Barry ( 1988 ,  2005 ), 
Serreze et al. ( 1993 ), Zhang et al. ( 2004 ), Bengtsson et al. ( 2006 ), Sepp and Jaagus 
( 2011 ), Turner and Marshall ( 2011 ), Shkolnik and Efi mov ( 2013 ). The last works 
present an updated climatology of the synoptic systems in the Arctic, taking into 
account different kinds of reanalysis data, which incorporate, among others, a new 
data set of atmospheric pressure available since 1979 within the Arctic Ocean Buoy 
Program. 

 The various sources presented here generally show similar patterns of sea-level 
cyclonic activity in winter in the Arctic (see Fig.  2.3a ). The cyclones are most fre-
quent in the Atlantic region of the Arctic and in the Baffi n Bay region. On the maps 
by Ragozin and Chukanin ( 1959 ) and Gaigerov ( 1964 ), the local maximum of high 
frequency of cyclones also occurs over the East Siberian Sea. The mean number of 
passing cyclones oscillates between 4 and 6 over the Norwegian-Barents-Kara seas 
and about 4 over the East Siberian Sea (Ragozin and Chukanin  1959 ). The lowest 
occurrence of cyclone frequency is noted in the northern parts of the Canadian 
Arctic, Alaska and Chukotka peninsulas and in the neighbouring Arctic Ocean 
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(Fig.  2.3a , see also Figure 2a in Zhang et al.  2004  or Figure 2 in Shkolnik and Efi mov 
 2013 ). A more detailed analysis made by Stepanova ( 1965 ) has shown that the 
 highest frequency of cyclones in the central Arctic is observed with a meridional or 
eastern type of circulation. A low number of cyclones is noted when the western type 
of circulation is well developed. The majority of winter cyclones enter the Arctic 
from the North Atlantic and the Barents Sea, and then track north-eastwards, rarely 
reaching the Western Arctic. Cyclones from other regions are not often observed.

   Winter (January) anticyclones are almost entirely restricted to the Canadian 
Basin on the map presented by Serreze and Barry ( 1988 ). On Gaigerov’s ( 1964 ) 
map, this maximum is shifted to the western part of the Canadian Arctic Archipelago. 
In addition, another maximum occurs over the Barents Sea. In turn, according to 
Ragozin and Chukanin ( 1959 ), the frequency of winter anticyclones is clearly 
 highest in the northern part of Greenland and in the southern part of the Arctic 

  Fig. 2.3    Cyclone ( a ,  b ) and anticyclone ( c ,  d ) % frequencies for winter ( a ,  c ), 1952/1953 – 
1988/1989 and summer ( b ,  d ), 1952–1989 in squares of 306,000 km 2 , for systems with central 
pressure <1012 hPa (cyclones) and >1012 hPa (anticyclones). A cutoff contour of 3 % frequency 
is chosen to accentuate areas of frequent synoptic activity (After Serreze et al.  1993 )       
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Ocean neighbouring the Beaufort and Chukchi seas. Recent calculations of winter 
anticyclone frequencies (Serreze et al .  1993 ) for the period 1952/1953–1988/1989 
showed a similar pattern to that presented by Ragozin and Chukanin ( 1959 ) 
(Fig.  2.3c ). In any case, the highest frequency is clearly seen in the Western Arctic. 

 In summer, a general decrease in atmospheric pressure occurs. As a result, the 
mean occurrence frequency of cyclones in this season is similar to that of winter. 
However, the pattern of cyclone frequency is quite different (compare Fig.  2.3b  with 
Fig.  2.3a ). Moreover, there is a signifi cant divergence between different sources 
(compare maps in Ragozin and Chukanin  1959 ; Reed and Kunkel  1960 ; Gaigerov 
 1964 ; Stepanova  1965 ; Gorshkov  1980 ; Serreze and Barry  1988 ,  2005 ; Serreze 
et al.  1993 ; Zhang et al.  2004 ). According to results presented by Serreze et al. 
( 1993 ), summertime cyclone frequencies show maxima centred in the Barents and 
Kara seas as well as over the southern part of the Canadian Arctic (Fig.  2.3b ). 
Secondary maxima occur over the central Arctic in the vicinity of the North Pole 
and over the Laptev and East Siberian seas. Serreze and Barry ( 1988 ) note the lack 
of lows in the Baffi n Bay region. It is a surprising result, because the other cited 
sources (e.g. Serreze et al.  1993 ; Zhang et al.  2004 ; Serreze and Barry  2005 ) show 
a relatively high frequency of lows here. This means the period 1979–1985 analysed 
by Serreze and Barry ( 1988 ) does not provide a good representation of mean synop-
tic conditions in the Arctic, at least in the Baffi n Bay region. Signifi cant differences 
in cyclone frequencies have also been noted in recent calculations for the Arctic 
using the same kind of data (NCEP/NCAR Reanalysis), but for different periods 
(compare Figure 2a presented by Zhang et al.  2004  (1948–2002) and Figure 4.10 
drawn by Serreze and Barry  2005  (1970–1999)). The most important difference is 
the fact that Serreze and Barry ( 2005 ) located the summer cyclone maxima over the 
central Arctic Ocean, while on charts presented by Zhang et al. ( 2004 ), and also in 
other sources cited above (including the map shown here, Fig.  2.3b ), cyclone fre-
quency is relatively high there, but is not the highest in the Arctic. Cyclones move 
into the Arctic Ocean from various directions. However, they usually arrive from the 
Siberian coast (Kara, Laptev, and Chukchi seas), the North Atlantic, and the Baffi n 
Bay regions (Fig.  2.4 ). A few cyclones enter the Arctic from the Bering Strait or the 
Canadian Arctic Archipelago. From the presented map it can be seen that the 
cyclone tracks meet in the central Arctic, especially over the Canadian Basin. This 
is contrary to what we observe in winter (see Ragozin and Chukanin  1959 ).

   The summer frequency of anticyclones (Fig.  2.3d ) shows that they are most com-
mon over the following three regions: (1) the western part of the Canadian Arctic 
and the Beaufort Sea; (2) the East Siberian and Laptev seas; and (3) the Kara and 
Barents seas. A smaller centre also occurs over northern Greenland. The results of 
research by Reed and Kunkel ( 1960 ) and Ragozin and Chukanin ( 1959 ) show a 
similar pattern. The mean speed of both cyclones and anticyclones is signifi cantly 
higher in the cold half-year, reaching a maximum in March (Ragozin and Chukanin 
 1959 ). The lowest speed of cyclones and anticyclones occurs in August and 
September, respectively. The mean speed of anticyclones is greater than that of 
cyclones and oscillates from 43 km/h in March to 35 km/h in September. Analogous 
values for cyclones are equal to 40 km/h (March) and 34 km/h (August).   

2.3   Synoptic-Scale Circulation  
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  Fig. 2.4    Mean cyclone motion vectors for winter (DJF) and summer (JJA), 1975–1989. The 
length of each arrow is the mean vector magnitude, with the width proportional to the index of 
motion constancy. Vectors are only plotted for grid cells with at least a 3 % frequency of cyclones 
(After Serreze et al.  1993 )       
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2.4     Winds 

  Winds  , as we know, are the result of both large-scale and synoptic-scale atmo-
spheric circulation. In addition, local factors such as geography, orography, and 
topography (altitude and relief) can sometimes signifi cantly infl uence the direction 
and speed of winds (Rae  1951 ; Wagner  1965 ; Markin  1975 ; Maxwell  1980 ,  1982 ; 
Ohmura  1981 ; Pereyma  1983 ; Wójcik and Przybylak  1991 ). There is a paucity of 
scientifi c literature describing winds in the Arctic in general. Some information may 
be found in the following sources: Mohn  1905 ; Sverdrup  1935 ; Dzerdzeevskii 
 1941–1945 ; Petterssen et al.  1956 ; Prik  1960 ; Gaigerov  1962 ; Stepanova  1965 ; 
Vowinckel and Orvig  1970 ; Sater et al.  1971 ; Maxwell  1980 ,  1982 ; Lynch et al. 
 2004 ; Small et al.  2011 ). However, the best sources of information about winds in 
the Arctic are still two atlases (Gorshkov  1980  and  Atlas Arktiki   1985 ). 

  In  winter  , the “ polar easterlies  ” exist most markedly over the Norwegian and 
Barents seas and in the Pacifi c region (Fig.  2.5 ). The main air stream over the western 
and central Russian Arctic fl ows from the southern sector (Siberian high) and is then 
directed towards the North Pole. After passing the North Pole vicinity, the air masses 
leave the Arctic Ocean through the gate between Spitsbergen and Greenland. 

  Fig. 2.5    Frequency (in %) of the occurrence of winds from eight main directions (1) and prevail-
ing main air streams (2) in the Arctic (After  Atlas Arktiki   1985 ). Meteorological stations:  1  – 
Ivigtut,  2  – Angmagssalik,  3  – Nord,  4  – Jan Mayen,  5  – Ship M,  6  – Annenes,  7  – Björnöya, 
 8  – Indiga,  9  – Malye Karmakuly,  10  – Amderma,  11  – Salekhard,  12  – Mys Zhelaniya,  13  – 
Ostrov Yedineniya,  14  – Ostrov Dikson,  15  – Dudinka,  16  – Khatanga,  17  – Mys Chelyuskin, 
 18  – Zilinda,  19  – Tiksi,  20  – Ostrov Kotelny,  21  – Chokurdakh,  22  – Ostrov Chetyrekhstolbovoy, 
 23  – Markovo,  24  – Ostrov Vrangel,  25  – Uelen,  26  – Nome,  27  – Barrow,  28  – Mould Bay,  29  – 
Cambridge Bay,  30  – Resolute,  31  – Chesterfi eld Inlet,  32  – Clyde,  33  – Thule,  34  – Alert, 
 35  – Upernavik       
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 Greenland  , being a very signifi cant orographic barrier, causes quite a sharp turn of 
air masses fl owing from the Pacifi c and the eastern Siberian region area of the Pole. 
After crossing the Arctic Ocean, the air masses are directed south-eastwards and fl ow 
over the north-eastern part of the Canadian Arctic, reaching the Labrador Sea. From 
Fig.  2.5 , some great differences may be seen between the main air streams and local 
winds. This is especially true for Greenland stations, where katabatic winds prevail .  

  Mean wind  speed   in the Arctic is strongly negatively correlated with the magni-
tude of atmospheric pressure and simultaneously it is also highly positively corre-
lated with the intensity of cyclonic activity. Mean wind speed in January (Fig.  2.6 ) 
in the regions characterised by low atmospheric pressure and high cyclonic activity 
(Atlantic, Baffi n Bay and Pacifi c regions) oscillates between 6 and 10 ms −1 . On the 
other hand, the regions with high atmospheric pressure and high anticyclonic activ-
ity (almost the whole Arctic Ocean and the northern and western parts of the 
Canadian region) have the lowest wind speeds (4–6 ms −1 ). The highest wind speeds 
observed in the central Arctic rarely exceed 25 ms −1  (see e.g. Table XXXVI in 
Vowinckel and Orvig  1970 ). The maximum wind speeds in the most windy part of 
the Arctic (i.e. in the Atlantic region) are twice as strong (up to 50 ms −1 ) (Gorshkov 
 1980 ). These storm winds are probably connected with vigorous moving cyclones or 
with such mesoscale phenomena as “polar lows” (for details see the next section) .

  Fig. 2.6    Average monthly wind speed (in ms −1 ) in January, April, July, and October in the Arctic 
(After Gorshkov  1980 )       
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   In the course of the year, the maximum anticyclonic activity and the minimum 
cyclonic activity occur  in spring  , especially in the Western Arctic. In the area of the 
greatest occurrence frequency of anticyclones (>15 %) between the North Pole and 
the northern parts of Greenland and the Canadian Arctic, there are no clear  dominant 
wind directions. Simultaneously, mean (Fig.  2.6 ) and maximum wind speeds are the 
lowest in these areas (<4 ms −1  and < 20 ms −1 , respectively). In stations Alert and 
Isachsen, the frequency of calms was noted in 59 % and 32 % of all observations, 
respectively. Southern and south-western winds prevail on the Russian Arctic coast, 
with the exception of the Chukchi Peninsula. In the rest of the Arctic, the main air 
streams are similar to winter. In the Western Arctic, mean wind speeds rarely exceed 
6 ms −1 . Higher speeds are only recorded in the southern part of the Canadian region 
and in the Baffi n Bay region. As in winter, the strongest winds occur in the southern 
part of the Atlantic region. 

  In  summer  , the main air streams in the Canadian Arctic and over the Norwegian 
Sea show generally the same pattern as in winter (Fig.  2.5 ). In the northern part of 
the Barents Sea, south-western and western winds prevail. Further east, in most 
parts of the Russian Arctic, northern and eastern winds dominate. From the Pacifi c 
region, the main air stream fl ows northwards towards the pressure depression around 
the Pole. Almost from the opposite side of the Arctic (the Greenland Sea) large air 
streams also reach that depression. This means that there is a marked convergence 
zone of air streams in the central Arctic Ocean in summer. Wind speeds in this sea-
son in the  Canadian Arctic   and in the Arctic Ocean are mostly slightly higher than 
in spring (Fig.  2.6 ). On the other hand, in the Atlantic region and in the Baffi n Bay 
region, the wind speeds are signifi cantly lower in summer, rarely exceeding 6 ms −1 . 
Generally, the distribution of the maximum wind speeds also follows the same 
pattern . 

 In  autumn  , the patterns of distribution of atmospheric pressure and synoptic 
activity are roughly similar to those of winter (see Fig.  2.2a, d  and maps in  Atlas 
Okeanov ). As a consequence, maps showing the distribution of mean wind speed 
(Fig.  2.6 ) in the Arctic in the seasons analysed are also similar. In autumn, however, 
wind speeds are generally slightly lower, with the exception of the Pacifi c region, 
where the strongest wind speeds are probably connected with greater number of 
cyclones in this season entering the Chukchi Sea through the Bering Strait. Stronger 
cyclonic activity also causes greater wind speeds over the Kara, Laptev, and East 
Siberian seas.  

2.5     Local Circulation and Mesoscale Disturbances 

 As mentioned at the beginning of previous section, local factors can sometimes 
signifi cantly change the surface wind speed and direction. This change in many 
cases is so great that little or any connection with the large-scale circulation exists. 
In addition, local circulation and other mesoscale phenomena such as polar (also 
called Arctic) lows can also markedly change the parameters of wind. Thus to 
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describe large-scale atmospheric circulation, we cannot use the observations of 
wind speeds and directions from the stations (especially land stations) where local 
infl uences are great. In such cases it is better to use geostrophic winds as an indica-
tor of surface winds. 

2.5.1      Local Winds   

 According to the nomenclature proposed by Barry ( 1981 ), three kinds of so-called 
 “fall” winds   can be distinguished: the bora, the foehn, and (mesoscale) katabatic 
winds.  Katabatic winds      are treated here in the strict sense as local downslope grav-
ity fl ows caused by nocturnal radiative cooling near the surface under calm clear- 
sky conditions. It seems that in the Arctic, where polar night and polar day occurs, 
distinguishing between the bora and the katabatic winds can be diffi cult. Thus, I 
propose to treat them as one type of wind, more or less cold, dry and gusty. 

   The  bora      winds are very well known from Greenland (Loewe  1935 ; Putnins 
 1970 ; Broeke et al .  1994 ; Heinemann  2002 ; Cappelen  2013 ) where they are gener-
ally directed from the interior towards the coast. These downslope winds result from 
the presence of cold air over the ice cap, which subsequently fl ows down the slopes 
of ice cap under the infl uence of gravity. The speeds of these winds mainly depend 
on the steepness of the slope and on the pressure gradient between the summits of 
the ice cap and the coasts  . On the ice cap, it is mostly  katabatic      winds which occur 
(Putnins  1970 ). According to measurements taken by Loewe ( 1935 ), katabatic 
winds were recorded at Weststation and at Eismitte for three-quarters of the obser-
vation period. They are more common in the winter half-year (see the directions of 
winds in Greenland stations, Fig.  2.5 ). The katabatic winds are better developed on 
clear days when the temperature at the centre of ice cap is below normal (greater 
radiation cooling). Bora winds are also present in other Arctic regions. They can 
occur everywhere else where a suffi cient area of high elevation exists and allows the 
accumulation of air masses. Boras were observed, for example, in Novaya Zemlya 
(Vize  1925 ; Kanevskiy  1962 ; Shapaev  1959 ; Barry and Chorley  1992 ; Zeeberg 
 2002 ; Moore  2013 ), Svalbard, Zemlya Frantsa Josifa, Ostrov Vrangelya (Shapaev 
 1959 ), on the coast of the Kara, Laptev, East Siberian, and Chukchi seas (Shapaev 
 1959 ), and on some islands of the Canadian Arctic Archipelago (Maxwell  1980 ; 
Hudson et al.  2001 ). 

 The  foehns      also occur quite often in the Arctic. They are warm, dry, and gusty 
winds occurring on the lee side of mountain ranges. The warmth and dryness of the 
air is due to adiabatic compression on descending the mountain slopes. In Greenland, 
their advection is generally towards the sea on both coasts (Putnins  1970 ; Cappelen 
 2013 ). The vertical extents of the foehns are not great. On the other hand, tempera-
ture increases can be very large. Exceptionally strong foehns can raise the tempera-
ture by more than 30 °C (Schatz  1951 ). Their duration is not long and usually does 
not exceed 2–5 days. Generally speaking, foehns can also occur everywhere else in 
the Arctic, where fl owing air masses have to cross suffi ciently high mountain ridges. 
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They were identifi ed in, among other locations, Spitsbergen (e.g. Rempp and 
Wagner  1917 ; Pereyma  1983 ; Wójcik et al.  1983 ; Kalicki  1985 ; Marciniak et al. 
 1985 ; Gluza and Piasecki  1989 ), in Novaya Zemlya (Vize  1925 ; Shapaev  1959 ; 
Kanevskiy  1962 ; Kanevskiy and Davidovich  1968 ; Zeeberg  2002 ), in Zemlya 
Frantsa Josifa (Krenke and Markin  1973 ), on the coasts of the Kara, Laptev, East 
Siberian, and Chukchi seas (Shapaev  1959 ); in Alaska (Gledonova  1971 ), and in the 
Canadian Arctic (Defant  1951 ; Andrews  1964 ; Barry  1964 ; Müller and Roskin- 
Sharlin  1967 ; Jackson  1969 ; Gledonova  1971 ; Hudson et al.  2001 ). 

 Other types of local winds, such as  land and sea breezes  , occur more rarely in the 
Arctic. Shapaev ( 1959 ) notes that breeze circulation occurs in July and August on 
the coasts of Arctic seas and on the coasts of largest islands. Jackson ( 1969 ) has 
noted the importance of the sea breeze infl uence for the high frequency of south- 
westerly winds during the summer at Tanquary Fiord in the Canadian Arctic. These 
have also been noted and studied on the Alaskan coast (Moritz  1977 ; Walsh  1977 ; 
Kozo  1982a ,  b ). Sea breezes occur mainly in summer in the Arctic when there is a 
strong thermal gradient between the warm land and the relatively cold seawater. A 
detailed investigation of wind directions in Hornsund (Spitsbergen) shows that their 
frequency is greatest near noon and in the afternoon hours (Wójcik and Kejna  1991 ). 
On the other hand, in winter the land breezes occur in places where warm open 
waters come into contact with the cold land coasts or pack ice (Maxwell  1980 ). 

 In the hilly and mountainous regions of the Arctic in the warm half-year, moun-
tain ( katabatic  ) and valley (anabatic) winds may also occur. On warm sunny days, 
the heated airs in a valley go up the axis of the valley. At night the process is 
reversed: the cold denser air from higher elevations fl ows down. When the glacier 
covers the upper part of the valley, then the glacier wind merges with the mountain 
wind. Glacier winds, which are special cases of mountain wind, occur both at night 
and during the day. During the day, however, the wind is weak and present only in a 
shallow layer over the glacier (usually <2 m).  

2.5.2     Polar Lows 

 As Turner et al. ( 1991 )   have stated, the investigation of  polar lows      does not have a 
long history – only about 30 years. British meteorologists were the fi rst to use the 
term “polar lows” to describe cold air depressions that affect the British Isles 
(Meteorological Offi ce  1962 ). Businger and Reed ( 1989 ) formulated a rough defi ni-
tion of polar lows. This phenomenon may “denote any type of small synoptic or 
subsynoptic scale cyclone that forms in a cold air mass polewards of major jet 
streams or frontal zones and whose main cloud mass is largely of convective origin.” 
Typical horizontal resolutions of polar lows vary from a few hundred kilometres to 
more than 1000 km in diameter. Similarly, their intensities may range from moder-
ate breezes to hurricane force winds (e.g. Reed  1979 ; Rasmussen  1981 ,  1983 ; 
Locatelli et al.  1982 ; Shapiro et al.  1987 ). Polar lows form over the oceans and 
decline rapidly on reaching land or ice packs, due to the limitation of their heat and 
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moisture sources (Hudson et al.  2001 ). In the Northern Hemisphere, polar lows 
occur only in winter. More information about polar lows may be found in a book 
entitled  Polar and Arctic Lows  (Twitchell et al.  1989 ) and well as in more recently 
published review works (Rasmussen and Turner  2003  and Renfrew  2003 ). 

 From this description, it may be ascertained that polar lows can signifi cantly 
change the weather. In the Arctic, polar lows occur mainly in the Barents and 
Norwegian seas (Rasmussen  1985a ,  b ; Shapiro et al.  1987 ; Noer et al.  2011 ), but 
have also been noted (although more rarely) in the Greenland Sea (Fett  1989 ), the 
Labrador Sea and the south-eastern part of the Canadian Arctic (Hudson et al.  2001 ), 
the Beaufort and Chukchi seas (Parker  1989 ), and in the Bering Sea (Businger  1987 ). 

 For the area with the greatest frequency of polar lows (the Atlantic sector of the 
Arctic, and particularly the Nordic seas), some climatological elaborations are 
available. Ac  cording to Noer et al. ( 2011 ), the fi rst climatological study of polar 
lows was published by Wilhelmsen ( 1985 ) and was based on meteorological weather 
maps, synoptic observations from ships and coastal stations, and a few satellite 
images from the 10 years between 1972 and 1982. More recently, Zahn and von 
Storch ( 2008 ) investigated the polar low climatology of the North Atlantic using 
dynamic downscaling of the National Centers for Environmental Prediction/
National Center for Atmospheric Research (NCEP/NCAR) reanalysis for the period 
1948–2006. Specifi cally, they used the limited-area atmospheric model for the 
study area which was nested in the NCEP/NCAR reanalysis. No signifi cant trends 
in the polar-low frequency in the study period were found. The newest climatology 
for this event was presented by Noer et al. ( 2011 ) for the period 2000–2009, based 
on the polar-low list prepared by trained forecasters at the Norwegian Meteorological 
Institute. For this purpose, infrared satellite images were used. According to this 
climatology, the annual average number of polar-lows was equal to about 12 cases. 
The lows in the study period were evenly distributed throughout the area of the 
Norwegian and Barents seas (for details see Figure 5 in Noer et al.  2011 ). The high-
est frequency of polar-lows was noted in high temperature areas in the Norwegian 
Atlantic Current, fl owing northward off the Norwegian coast, and were observed 
from September to May. Their greatest average long-term frequency exceeded one 
per month in wintertime (November–March).      
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    Chapter 3   
 Radiation and Energy Conditions       

               In the history of actinometric measurements in the Arctic, fi ve phases can be 
distinguished:

   Phase 1. The nineteenth century. During this period, measurements of  solar radia-
tion   were made using ordinary thermometers, i.e. the difference between the 
readings of thermometers with shaded and exposed bulbs, placed in the sun and 
in the shade, was used to estimate the intensity of radiation. According to 
Gavrilova ( 1963 ), the fi rst such measurements were made during the expeditions 
of John Franklin to the polar sea in the years 1825, 1826, and 1827 (Franklin 
 1828 ). Later on, using the same method, measurements were conducted during 
different expeditions to the Arctic ( Solar Radiation …,  1876 ;  Report of the 
International …,  1885 ;  Observations of the International …,  1886 ).  

  Phase 2. The end of nineteenth century – the Second International Polar Year 
(1932/1933). For actinometric measurements, the date of the construction of the 
fi rst pyranometer by Ångström at the end of the nineteenth century (1893) was 
very important.    Westman conducted the fi rst measurements using this instrument 
at Treurenberg Bay in Spitsbergen in 1899–1900 (Westman  1903 ). A greater 
number of measurements during this period were carried out in the 1920s and at 
the beginning of 1930s (e.g. Kalitin  1921 ,  1924 ,  1929 ; Götz  1931 ; Mosby  1932 ; 
Georgi  1935 ; Kopp  1939 ; Wegener  1939 ). All these actinometric measurements 
were, however, of a  temporary and episodic character  . At the end of this period 
most scientists knew that the establishment of a network of stations was neces-
sary in order to determine the radiation regime of the Arctic.  

  Phase 3. The Second International Polar Year – 1950. In this period in the years 
1932–1933, the fi rst continuous actinometric observations were made simultane-
ously at a number of stations.    The second important event was the organisation 
of an actinometric network in the Russian Arctic (six stations).  

  Phase 4. 1950 – the start of the satellite era (ca. 1972). This period (mainly in the 
1950s) saw the establishing of most of the actinometric stations which now exist 
in the Arctic. The majority of them (about 20) are located in the Russian Arctic 
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(see Figure 1 in Gavrilova  1963 ). In addition, since 1950, regular observations 
have been carried out in the central Arctic by the drifting stations “Severnyy 
Polyus” (Volkov  1958 ; Sychev  1959 ).  

  Phase 5. Satellite era – the present. In this period, besides standard in situ actinome-
tric observations (including Russian drifting stations up to 1991, and then again 
from 2003 to the present, as well as special campaign measurements. For exam-
ple, the Heat Budget of the Arctic Ocean (SHEBA) in October 1997–October 
1998. For details see Sokolov and Makshtas ( 2013 ) and Uttal et al. ( 2002 ), 
respectively), different remote sensing techniques have become increasingly 
popular, especially those using satellites.    These new methods are especially 
important for the Arctic, where the network of meteorological stations, as we 
know, is scarce. They permit the calculation of incoming solar radiation, albedo, 
and outgoing long-wave terrestrial radiation loss – all the necessary components 
of the net radiation of the earth-atmosphere system (see Cracknell  1981 ; Lo 
 1986 ; Harris  1987 ; Schweiger et al.  1993 ; Serreze and Barry  2005 ,  2014 ). On a 
global scale, several satellite-based data sets exist (International Satellite Cloud 
Climatology Project (ISCCP), Earth Radiation Budget Experiment (ERBE), 
Clouds and the Earth’s Radiant Energy System (CERES)), which have been used 
recently for projects such as the calculation of Surface Radiation Budget 
(Whitlock et al.  1993 ) and in determining seasonal and inter-annual variations of 
top-of- irradiance and cloud cover over polar regions (Kato et al.  2006 ).  Satellite-
based methods   have also been used to retrieve surface radiative fl uxes for small 
areas (Parlow  1992 ; Scherer  1992 ; Duguay  1993 ; Ørbæk et al.  1999 ). For this 
purpose Landsat satellites are best, due to satellite orbit and sensor resolution 
(Haefl iger  1998 ). For greater areas the data received from NOAA AVHRR 
(Advanced Very High Resolution Radiometer) and SSM/I (Special Sensor 
Microwave/Imager) are most useful for calculations of short-wave and long-
wave surface radiative fl uxes. Such studies have been conducted for, among oth-
ers, the Fram Strait area (Kergomard et al.  1993 ), the Greenland Ice Cap 
(Haefl iger  1998 ), or the entire Arctic (see Serreze and Barry  2005 ,  2014 ).    

 Although it is possible to fi nd a great quantity of literature and points of view on 
the different aspects of the radiation regime in the Arctic, our knowledge about the 
climatology of the radiation balance and its components is still meagre. This is 
especially true of the central Arctic and Greenland Ice Sheet regions. The main 
reason for this is the  sparse network   of actinometric stations in the Arctic. From the 
different sources presenting radiation conditions in the study area, especially those 
in the form of charts, the reader should know that the isolines drawn give only a 
rough approximation of the real situation. In many cases, the charts were based on 
theoretical calculations. It is hoped, however, that in the future, satellite remote 
sensing techniques, which in recent years have developed greatly (see e.g. Serreze 
and Barry  2005 ,  2014 ), will substantially improve knowledge about surface (and 
other) radiative fl uxes for the Arctic with much greater temporal and spatial resolu-
tion than we have today. 

3 Radiation and Energy Conditions
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 Gavrilova ( 1963 ), Marshunova and Chernigovskii ( 1971 ), and Ohmura ( 1981 , 
 1982 ) gave excellent reviews of the  historical development   in radiation studies up to 
about 1980. Therefore, there is no need to repeat this here again. However, some 
more important elaborations, from a climatological point of view, should be men-
tioned here, together with some new works which appeared after Ohmura’s reviews. 
It is rather unquestionable that the role played by Soviet (Russian) climatologists in 
investigations into the radiation regime in the Arctic was, and probably still is, very 
great. The most important works published by Russians are the following: Kalitin 
( 1940 ,  1945 ), Marshunova ( 1961 ), Budyko ( 1963 ), Gavrilova ( 1963 ), Chernigovskii 
and Marshunova ( 1965 ), Stepanova ( 1965 ), Marshunova and Chernigovskii ( 1971 ), 
Gorshkov ( 1980 ), Makshtas ( 1984 ),  Atlas Arktiki  ( 1985 ), and Khrol ( 1992 ). 

 From the non-Russian authors, without doubt the greatest contribution in inves-
tigations of radiation and heat balance of the Arctic and their components in the 
pre-satellite period has been made by the staff of the Arctic  Meteorology   Research 
Group, Department of Climatology, McGill University in Montreal, and in particu-
lar Vowinckel and Orvig. Their results were fi rst published in the McGill University 
Scientifi c Reports, Publications in Meteorology (Larsson and Orvig  1962 ; Vowinckel 
and Orvig  1962 ,  1963 ,  1964a ,  1965 ; Vowinckel  1964a ,  b ; Vowinckel and Taylor 
 1964 ) and in shorter versions in a series of papers published in Archiv für 
Meteorologie, Geophysik und Bioklimatologie (Vowinckel and Orvig  1964b ,  c ,  d , 
 1966 ; Vowinckel and Taylor  1965 ). All these papers were later used by Vowinckel 
and Orvig in the preparation of some fragments of their best known work published 
in the series of the World Survey of Climatology (Vowinckel and Orvig  1970 ). A 
good summary of the heat budget of the earth-atmosphere system in the Arctic, 
based mainly on above-mentioned sources, has been provided by Fletcher ( 1965 ). 

 Due to the signifi cant warming of the Arctic, in recent decades, interest in obtain-
ing a better knowledge of both surface and atmosphere radiation ( short- and long- 
wave radiation  ) and  non-radiative fl uxes   (sensible and latent heat), as well as the 
processes driving them, has grown rapidly. For this purpose, three different sources 
of data are used and the results compared with each other. These sources are mea-
surement stations (both land and sea, including campaign measurements and drift-
ing stations), satellites, and reanalyses (for more details and references see, for 
example, Serreze et al.  1998 ,  2007 ; Serreze and Barry  2005 ,  2014 ; Gorodetskaya 
et al.  2008 ; Zygmuntowska et al.  2012 ). The last cited paper reveals signifi cant dif-
ferences between monthly mean long- and short-wave components of the surface 
cloud radiative effect obtained from the aforementioned three data sources. It con-
cluded that “The monthly mean long and shortwave components of the surface 
cloud radiative effect obtained from the ERAInterim reanalysis are about twice that 
calculated on the basis of CloudSat’s radar-only retrievals, while ground based mea-
surements from SHEBA are in-between.” As is widely known, clouds are the main 
driver of the Earth’s radiation budget, and therefore due to the existence of still- 
large discrepancies between in-situ radiation measurements and analogical products 
obtained from satellites and reanalyses, it was decided to base the present analysis 
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mainly on data from station measurements. Another infl uence on this decision is the 
fact that the reader has the possibility of seeing the spatial distributions of radiation 
and heat balances and their components in the Arctic based on satellite and reanaly-
sis data in many recently published works (for example, Serreze and Barry ( 2005 , 
 2014 ), Serreze et al. ( 2007 ), Porter et al. ( 2010 )). 

 It must be stated that there also exist other important works, in particular those 
which give the spatial distribution of radiation balance and its components for only 
select parts of the Arctic. For the Canadian Arctic, one should mention the publica-
tions of Maxwell ( 1980 ), McKay and Morris ( 1985 ), and Woo and Young ( 1996 ), 
among others. Intensive investigations of radiation conditions on the  Greenland Ice 
Sheet  , in particular in the 1990s, have been mainly carried out by the Institute for 
Atmosphere and Climate at the Swiss Federal Institute of Technology in Zürich 
using satellite techniques (Ohmura et al.  1991 ,  1992 ; Konzelmann  1994 ; 
Konzelmann and Ohmura  1995 ; Haefl iger  1998 ). A similar paper also exists for 
Alaska (Dissing and Wendler  1998 ). There are also quite a lot of papers analysing 
surface radiation budget and/or some of its components, for sets of stations  or   
individual stations (see, for example, Maykut and Church  1973 ; Głowicki  1985 ; 
Hisdal et al.  1992 ; Ørbæk et al.  1999 ; Westermann et al.  2009 ; Dong et al.  2010 ; 
Kejna et al.  2012 ; Matsui et al.  2012 ). 

3.1     Sunshine Duration 

 Knowledge about sunshine duration, aside from being important theoretically, is 
also of practical signifi cance. The study of sunshine duration enables improved cal-
culations  of global solar radiation   (e.g. Spinnangr  1968 ; Dahlgren  1974 ; Markin 
 1975 ). Such a possibility is very important for the Arctic, where only infrequent 
numerous and short series of actinometric observations are available. Sunshine 
duration, having a strong relationship with cloudiness, can also supplement our 
information, especially concerning the changes of cloudiness in the daily cycle. 
 Registration   of the duration of sunshine is a routine observation carried out in most 
meteorological stations. Bearing in mind all the above-mentioned facts, it is very 
strange that the distribution of sunshine duration in the Arctic is not better known. 
Bryazgin ( 1968 ) relates this to the surprisingly little attention which climatologists 
have paid to this element. During the last 40 years, situation has not changed. 

 Some  information   about sunshine duration may be found in papers describing 
the climates of different (mainly small) parts of the Arctic (e.g.  Meteorology … 
 1944 ; Petterssen et al.  1956 ; Gavrilova  1963 ; Spinnangr  1968 ; Krenke and Markin 
 1973a ,  b ; Markin  1975 ; Maxwell  1980 ; Pereyma  1983 ; Budzik  2005 ). Only 
Bryazgin ( 1968 ) has made a synthesis for the entire Arctic. In this paper he described 
the mean monthly and annual sums of sunshine duration, but only the maps for 
April and for the year as a whole are presented. April was chosen because,  according 
to Bryazgin, the amounts of sunshine duration are greatest in this month. Later on, 
Bryazgin was a leading author of maps presenting sunshine duration in the Arctic, 
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which are published in the  Atlas Okeanov  (Gorshkov  1980 ) and the  Atlas Arktiki  
( 1985 ). It is important to add that Bryazgin, in constructing these maps, used  obser-
vational data   from the period 1936–1970 (in  Atlas Arktiki ) from only 42 Russian 
meteorological stations. For the rest of the Arctic, the monthly and annual amounts 
of sunshine duration were computed based on a signifi cant correlation between sun-
shine duration and cloudiness. So, for this part of the Arctic, the maps present only 
rough approximations of sunshine duration in reality. 

 Marshunova and Chernigovskii ( 1971 ), having data about sunshine duration for 
the whole Arctic, challenged Bryazgin’s ( 1968 ) assertion that in the entire Arctic 
the maximum sunshine duration occurs in April. Bryazgin ( 1968 ) based his claim 
only on data from  Russian stations   and generalised the results from them for the 
whole of the Arctic. It turned out, however, that in the Canadian and Pacifi c regions 
the maximum duration of sunshine is observed in June or July.    Even in Spitsbergen, 
as reported Spinnangr ( 1968 ) and Budzik ( 2005 ), the highest values do not occur in 
April, but in May. 

 In January, sunshine duration does not occur above 70°N (polar night). In the 
lower latitudes of the Arctic, the monthly mean amounts of sunshine duration rarely 
exceed 10 h. 

 In April, the amounts  o  f sunshine duration, as mentioned above, are considerable 
(Fig.  3.1 ). The maximum values of sunshine duration may be found in the vicinity 
of the North Pole and in the central part of Greenland Ice Sheet (>400 h). A high 
duration of sunshine is generally typical of the whole Arctic Ocean, Greenland 
(excluding the southern coastal parts), and the north-eastern parts of the Canadian 
Arctic (>300 h), where anticyclonic activity prevails (low cloudiness) – see Figure 5 

  Fig. 3.1    Sunshine duration (in hours) in the Arctic (After  Atlas Arktiki   1985 )       
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in Gavrilova ( 1959 ). On the other hand, the lowest amounts of sunshine duration 
(<200 h) occur in the areas characterised by  intensive cyclonic activity   (the Atlantic 
region, southern part of the Baffi n Bay region, and the southern part of Chukchi Sea 
and Bering Strait regions).

   In July, the situation in comparison with April is dramatically worse, mainly in 
the Arctic Ocean, where, at this time, very high low-level cloudiness is observable 
(see Figure 5.4 or Vowinckel and Orvig  1970 ). Mean amounts of sunshine duration 
only vary about 100 h (four times less than in April). The same values, or even 
lower, are noted in the  Norwegian and Barents seas  . The Arctic shelves seas and 
coastal parts of the Russian Arctic receive about 150 h. Further to the south, the 
duration of sunshine rises to about 200–250 h. Bryazgin ( 1968 ) did not give the 
sunshine duration for the Canadian Arctic and Greenland. Dahlgren ( 1974 ) 
reported that the mean value of sunshine duration (from 2 years) at Devon Island 
in July was equal to 316 h. In Greenland, similar or (more probably) greater 
amounts occur. 

 In mid-October, the polar night is present above 82°N. The Arctic islands above 
80°N have only 1 h of sun. Further to the south the situation is better and coastal 
parts of the Arctic seas have about 20–40 h and along the Arctic Circle about 60–80 h 
(Bryazgin  1968 ). On Devon Island, the sunshine duration is equal to 25 h (Dahlgren 
 1974 ) and is almost twice as great as in Spitsbergen (13 h, Isfjord Radio, 1951–1960 
(Spinnangr  1968 )). According to data published by Gavrilova ( 1963 ), it seems that 
the coastal parts of the  Kara and Laptev seas   have lower sunshine duration amounts 
in October (<10 h) than were given by Bryazgin. 

 On an  annual basis  , the inner parts of Greenland receive the greatest amounts of 
sunshine duration (>2400 h) (Fig.  3.1 ). Aside from Greenland, the south-western part 
of the Canadian Arctic and the western part of the Chukotka region receive more than 
2000 h of sun. Almost the whole Canadian Arctic also has high values (>1600 h), 
along with some southern parts of the Russian Arctic and Alaska. The lowest dura-
tion of sunshine occurs between Jan Mayen Island and Novaya Zemlya (<800 h). 
Bryazgin ( 1968 ) distinguished a small area between Jan Mayen and Björnöya islands 
where annual amounts of sunshine duration do not exceed 300 h. Of all the Arctic 
stations, the lowest values are found in Björnöya (annual mean only 249 h), then at 
Hopen and Jan Mayen (both 444 h). This is the region with the highest cyclonic 
activity and, as a consequence, also the highest cloudiness in the Arctic. 

 The  average mean relative   sunshine duration for the whole Arctic, which indi-
cates the percentage of the astronomically possible sunshine, oscillates between 20 
and 25 %. Throughout the year, the highest fraction of actual to possible duration of 
sunshine is recorded in March and April (30–40 %) and the lowest in October and 
November (3–5 % in the marginal Arctic seas and 15–20 % in the continental 
Arctic) (Gavrilova  1963 ). 

 There is a considerable  fl uctuation   in the duration of sunshine in some years. 
From the comparison of the maximum and minimum annual values of this element 
given in  Atlas Arktiki  ( 1985 ), it is evident that the maximum values may be two to 
three or more times greater than the minimum values.  
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3.2     Global Solar Radiation 

 Global solar radiation is one of the important  factors   in the formation of the  radiation 
regime, weather, and climate. Its role in both net radiation and energy balance is 
crucial. Luckily, this component of the radiation balance is very easy to measure. 
From the reasons mentioned above, global solar radiation measurements are most 
often conducted in actinometric stations, not only in the Arctic. In spite of this, the 
network of  stations   is still insuffi cient for analysing the fi eld of global solar radia-
tion. Therefore, authors presenting the spatial distribution of this (or any other) 
component of radiation balance have to obtain additional information from calcula-
tions. There are two methods of determining the values of the global radiation 
(Marshunova and Chernigovskii  1971 ). The fi rst method uses existing radiation 
data from some stations and established relationships between radiation and other 
meteorological elements such as cloudiness and sunshine duration. The second 
method, the so-called  analytical method  , uses knowledge concerning processes 
infl uencing the radiation both outside the atmosphere and on its way through atmo-
sphere to the Earth’s surface. 

 The most comprehensive and detailed  information   about global solar radiation 
for the Arctic in general or for specifi c parts of it is contained in the following 
works: Gavrilova  1963 ; Vowinckel and Orvig  1964b ,  1970 ; Chernigovskii and 
Marshunova  1965 ; Marshunova and Chernigovskii  1971 ; Gorshkov  1980 ; Maxwell 
 1980 ;  Atlas Arktiki   1985 ; McKay and Morris  1985 ; Khrol  1992 ; Schweiger and Key 
 1992 ; Serreze et al.  1998 ; Serreze and Barry  2005 ,  2014 . These authors present, 
among others things, various maps showing both monthly and annual mean sums of 
this element. The latter three references show global radiation maps drawn based on 
reanalyses and satellite data, while the former use observational data. Serreze et al. 
( 1998 ) made a comparison of  surface-based radiation   climatologies obtained using 
both types of data and stated that a quantitative agreement cannot be expected. 
However, they found more agreements in the spatial pattern of global radiation in 
the Arctic than disagreements. For comparative purposes, they used observational 
data taken from Gavrilova ( 1963 ), Vowinckel and Orvig ( 1964b ), and Marshunova 
and Chernigovskii ( 1971 ), but not from Khrol ( 1992 ), which gives more actual as 
well as detailed and precise information. 

 Below, the main  features   of the distribution of global solar radiation in the Arctic 
for 4 months representing all seasons, and for the year as a whole, are described 
based on the  Atlas of the Energy Balance of the Northern Polar Area  (Khrol  1992 ). 
The authors of these maps are Girdiuk and Marshunova. 

 In January, the  polar night   occurs in the greater part of the Arctic and the radiation 
fl ux is naturally zero. According to Gavrilova ( 1963 ), the zero isoline approximately 
follows the 71°N latitude, while on Girdiuk and Marshunova’s map this isoline is 
shifted to about 68°N. It should be noted that all captions under fi gures presenting 
global radiation in the English translation of Gavrilova’s book (Gavrilova  1963 ) are 
wrongly positioned. Most southern parts of the Arctic receive no more than 2 kJ/cm 2 . 

3.2 Global Solar Radiation
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 In April, the mean sums of global solar radiation oscillate from 50 to 53 kJ/cm 2  
in the southern part of central Canadian Arctic and in the southern inner fragment of 
Greenland to 25–29 kJ/cm 2  over the  Norwegian and Barents seas  , where the cloudi-
ness is highest. In the central part of the Arctic Ocean, the incoming radiation 
changes from 35 kJ/cm 2  (in the vicinity of the North Pole) to about 38 kJ/cm 2  at the 
80–85°N latitude (except in the part of the Arctic neighbouring the Norwegian and 
Barents seas) (Fig.  3.2 ). Please note the similarities in pattern distribution of sun-
shine duration and global radiation in the Arctic (compare Figs.  3.1  and  3.2 ). The 
contribution of April to the annual infl ux of radiation is substantial at around 
13–15 % (Marshunova and Chernigovskii  1971 ).

   In July, with the decreasing altitude of the sun, the global radiation fl uxes are 
about 1.2–1.4 times lower than in June. Moreover, they are reduced by the consid-
erable increase of cloudiness in July. Clearly the highest sums of global radiation 
(84–85 kJ/cm 2 ) are received in the northern half of Greenland. The secondary 
maximum occurs in the Canadian Arctic (except its western part) and in the Arctic 
Ocean neighbouring the  Beaufort and Chukchi seas   (59–63 kJ/cm 2 ). Almost the 
entire Atlantic region receives < 50 kJ/cm 2 . The absolute minimum (40–42 kJ/cm 2 ) 
of incoming radiation occurs in the areas to the south and south-west of 
Spitsbergen (Fig.  3.2 ), where mean cloudiness is the highest and clouds are most 
dense in the Arctic. The contribution of July to the annual fl ux of radiation is 
17–19 %. 

 In October, the pattern of global radiation distribution is very simple and depends 
mainly on the length of the days. Therefore, the run of the  isolines   is more or less 
zonal. For example, in the region surrounding the North Pole, where the polar night 
has already begun, the zero isoline passes close to 83°N. The latitudinal band 
(73–75°N) receives about 4 kJ/cm 2 . The greatest sums of global radiation 
(>10 kJ/cm 2 ) are received in the southern parts of the Canadian Arctic and Greenland. 

 On an  annual basis  , the global radiation distribution pattern closely resembles 
the atmospheric circulation and cloudiness distribution patterns. The parts of  the   
Arctic which have the greatest cyclonic activity and cloudiness (mainly Atlantic 
region) receive the lowest totals of global radiation (<250 kJ/cm 2 ). On the other 
hand, the southern part of the Canadian Arctic and Greenland (central part), where 
anticyclonic circulation prevails and the lowest cloudiness occurs, receive more 
than 350 kJ/cm 2  and even 400 kJ/cm 2  (Fig.  3.3a ).

   The values of global radiation in particular years may be different from the  aver-
age conditions   presented here. However, as reported Marshunova and Chernigovskii 
( 1971 ), the mean deviations of the monthly sums of global radiation oscillate mainly 
between 8 and 12 %. Only extreme deviations sometimes reach up to 30 %. To reli-
ably describe the radiation regime in the Arctic, at least 5 years of observations is 
needed (Marshunova and Chernigovskii  1971 ).  
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3.3     Short-Wave Net Radiation 

 From a climatological point of view, knowledge about short-wave net radiation (or 
the absorbed solar radiation) is more important than about the potential global solar 
radiation reaching the earth’s surface. Short-wave net radiation depends mainly on 
the declination of the sun and surface albedo. Along the same latitude only the 
albedo determines the amount of absorbed energy by the  earth’s surface  . On a local 
scale (in mountainous areas), however, differences in the elevation of the land, its 
aspect and inclination also signifi cantly control the amount of solar radiation which 
is received. 

3.3.1     Albedo 

 As mentioned earlier, albedo is a very important factor in the short-wave balance of 
the surface. The  computation   of mean monthly values of albedo for the entire Arctic 
is a very diffi cult task. Problems arise for different reasons, e.g. the lack of insuffi -
cient in situ measurements or measurements taken from aircraft, dynamical changes 
of the area and physical characteristics of vegetation, snow, and ice covers, which 
mainly infl uence the albedo. In recent years, however, the chance of receiving the 
real distribution of albedo changes (and other components of the radiation balance) 
in the Arctic has markedly grown thanks to the possibilities provided by satellite 
techniques. 

 At present, there are only a few publications which give the mean monthly dis-
tribution of albedo in the Arctic. Larsson and Orvig ( 1961 ,  1962 ) and Larsson 
( 1963 ) published their results fi rst in the form of maps and then in the form of 
 stereograms. These maps were compiled from different kinds of information about 
natural vegetation, large scale physiographic features, snow cover, sea-ice cover, 
and glacierised areas etc. Marshunova and Chernigovskii ( 1971 ), using the same 
method as Larsson and Orvig, also  constructed maps   showing mean albedo values 
for March, May, July, and September. It seems that the best record of the albedo in 
the Arctic can be obtained from satellites such as those recently presented by 
Robinson et al. ( 1992 ), Schweiger et al. ( 1993 ), Serreze and Barry ( 2005 ,  2014 ), 
and for Greenland by Haefl iger ( 1998 ). 

 Albedo in March in the Arctic Ocean and seas covered by  sea ice and snow cover   
is, according to Marshunova and Chernigovskii ( 1971 ), about 82 % (Fig.  3.4 ). The 
northern parts of Russia and North America, including the Canadian Arctic 
Archipelago and probably Greenland, have similar albedo values. A signifi cant drop 
in albedo (from 82 % to only 20 %) is observed between the regions covered by sea 
ice and open waters. For May it is possible to compare albedo values received by 
traditional methods and satellite methods. Marshunova and Chernigovskii’s ( 1971 ) 
maps show the greatest correspondence with maps published by Robinson et al. 
( 1992 ). This correspondence is surprisingly high because nowhere does the 
 difference exceed 3 %. Albedo, according to Marshunova and Chernigovskii ( 1971 ), 
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in the areas of the Arctic Ocean and the seas surrounding the Arctic covered by sea 
ice, varies between 78 and 82 % (Fig.  3.4 ), while according to Robinson et al. 
( 1992 ) it varies from 75 to 80 %. In July, the correspondence is only a little worse 
than in May, but the differences rarely exceed 5 %. In the central part of the Arctic 
the albedo, according to Marshunova and Chernigovskii, oscillates between 60 and 
65 %, while on Robinson et al.’s map these values vary from 55 to 60 %. The albedo 
near the sea-ice edge is equal to 50–55 % (Marshunova and Chernigovskii  1971 ) 
and about 45–50 % (Robinson et al.  1992 ). Albedo of the  drifting ice   (Barents, 
Norwegian, Greenland seas and in Baffi n Bay) oscillates between 25 and 40 %. In 
July, the albedo is at its lowest in the whole year and on the tundra it reaches a mini-
mum value of 16–18 %.

  Fig. 3.4    Mean monthly albedo (March, May, July, and September) (in percentages) in the Arctic 
(After Marshunova and Chernigovskii  1971 ).  1  – boundary between ice and water,  2  – boundary 
between ice of 1–5 and 5–8 points,  3  – boundary between ice of 5–8 and 8–10 points,  4  – forest 
limit       
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   In September, the  surface refl ectivity   of the central Arctic is 70–83 % (Fig.  3.4 ). 
The albedo of the tundra increases to 25–35 % (Marshunova and Chernigovskii 
 1971 ). The highest mean monthly values of the surface albedo of the Arctic seas 
occur in February and March (82 %), and the lowest in July (55 %). 

 Because of the warming in the Arctic in recent years that has resulted, amongst 
other things, in a signifi cant decrease of  sea ice and snow cover  , the overall surface 
albedo in the Arctic also shows a decrease. This statement is confi rmed by the anal-
ysis of values of albedo presented by Serreze and Barry ( 2005 ) in their Figure 5.3. 
Mean monthly surface albedo for April–September was calculated based on Arctic 
Polar Pathfi nder (APP- x  ) satellite data for the period 1982–1999. For joint months 
(May, June, and September) for which data are presented both here (Fig.  3.4 ) and by 
Serreze and Barry ( 2005 ), quite small differences are observable for May (less than 
10 %), while for July, and particularly September, the differences reach 20–30 % or 
even more in some places.  

3.3.2     Absorbed Global Solar Radiation 

 The magnitude of absorbed global solar radiation on every point of the Earth is 
determined by the incoming global radiation and by the refl ective characteristics 
(albedo) of the underlying surface. Both these quantities change signifi cantly in the 
annual cycle. Moreover, as may be seen from previous sections, the existing net-
work of  actinometric stations   in the Arctic is very scarce. Therefore, the drawing of 
maps presenting the distribution of absorbed radiation in the whole Arctic is rather 
diffi cult. Reviewing the literature we only fi nd a few teams of authors who have 
attempted to present such a distribution. Gavrilova ( 1959 ,  1963 ) was the fi rst to 
publish maps presenting the monthly amounts of absorbed radiation in the Arctic. A 
little later, Vowinckel and Orvig ( 1962 ) also presented their results. Some of the 
maps from this paper were also later included in their better known articles 
(Vowinckel and Orvig  1964b ,  1970 ). The third known attempt was made by 
Marshunova and Chernigovskii, fi rst only for the Soviet (Russian) Arctic 
(Chernigovskii and Marshunova  1965 ) and then also for the whole Arctic 
(Marshunova and Chernigovskii  1971 ). In the last work, all material (fortunately 
aside from maps) are limited to the non-Soviet Arctic, in accordance with the title. 
It is worth noting, however, that all these published  geographical distributions   of 
mean monthly and annual amounts of absorbed radiation are more rough approxi-
mations of the reality than in the case of incoming radiation. 

 In January, only areas to the south of 68°N receive solar radiation. However, 
within the Arctic these fl uxes of  solar radiation   are small. Moreover, they are 
almost entirely (80–85 %) refl ected back by the snow cover. As a result, the zero 
isoline of the absorbed radiation more or less passes near the Arctic Circle (see 
Gavrilova  1963 ). 

 In April (Fig.  3.5 ), the whole area covered by sea ice and  snow   (the Arctic Ocean, 
the Laptev Sea, and the central and northern parts of other Arctic seas, as well as the 
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northern part of the Taymyr Peninsula and Greenland, and the Canadian Arctic 
Archipelago) absorbs radiation at a rate of 1.5–2.0 kcal/cm 2  (6.3–8.4 kJ/cm 2 ). On 
the other hand, the highest values are absorbed by the open water areas in the 
Norwegian and Barents seas, as well as in Baffi n Bay. In the southern parts of 
the continental Arctic, the absorbed radiation oscillates between 2 kcal/cm 2  and 
3 kcal/cm 2  (8.4–12.5 kJ/cm 2 ).

   In July, most Arctic regions absorb their highest values of solar radiation (see 
Marshunova and Chernigovskii  1971 ). The Arctic Ocean receives from 5 kcal/cm 2  
(20.9 kJ/cm 2 ) in the vicinity of the North Pole to about 6 kcal/cm 2  (25.1 kJ/cm 2 ) 
along the latitude 80°N. Further to the south, the absorbed radiation systematically 
rises to about 10 kcal/cm 2  (41.8 kJ/cm 2 ) in the northern continental part of the 
Russian Arctic and Alaska, and in the southern part of the Canadian Arctic 
Archipelago. Similar values and even greater, up to 12 kcal/cm 2  (50.2 kJ/cm 2 ), occur 
in the Norwegian Sea, in the pure water of the Barents and Greenland seas, and in 
Baffi n Bay. In the central part of  Baffi n Bay  , values exceeding even 13 kcal/cm 2  
(54.3 kJ/cm 2 ) are observed (Fig.  3.5 ). 

 In October (Fig.  3.5 ), the central parts of the Arctic, up to about the latitude 80°N, 
do not absorb any  solar radiation   (polar night). The 0.5 kcal/ cm 2  (2.1 kJ/cm 2 ) isoline 

  Fig. 3.5    Mean totals of absorbed radiation in the Arctic for April, July, and October (in kcal/cm 2 /
month) and for the year (in kcal/cm 2 /year) (After Marshunova and Chernigovskii  1971 )       
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runs between mainly 70°N and 75°N. The highest values of absorbed radiation 
(>2 kcal/cm 2  [8.4 kJ/cm 2 ]) are in the southern parts of the Canadian Arctic and prob-
ably in the coastal parts of southern Greenland (the southernmost parts of the Arctic). 

 On an  annual basis   (Fig.  3.5 ), the maximum values of absorbed radiation 
(50–55 kcal/cm 2  [209–230 kJ/cm 2 ]) occur in the southernmost parts of the Arctic 
(the southern Canadian Arctic) and in the Norwegian and Barents seas, where, for 
the greater part of the year, an open water or thin drifting ice is observed. The sums 
of the absorbed radiation systematically decrease in a northerly direction and oscil-
late between 17 kcal/cm 2  and 20 kcal/cm 2  (71.1–83.6 kJ/cm 2 ) in the vicinity of the 
North Pole. Vowinckel and Orvig ( 1962 ,  1964b ) give signifi cantly higher values for 
this area of the Arctic: c. 28–30 kcal/cm 2  (117.0–125.4 kJ/cm 2 ). However, Badgley 
( 1961 ) received similar results to those of the Russian authors. The mean July and 
August absorption of  solar radiation   in years with slight ice formation, in compari-
son with years with heavy ice conditions in the Arctic, is 1.4–1.5 times greater (see 
Marshunova and Chernigovskii  1971 , their Table 21).   

3.4     Long-Wave Net Radiation 

 Long-wave net radiation (so-called effective radiation) is a residual of two fl uxes:  ter-
restrial radiation   (upward infrared radiation) and the “ counter-radiation  ” of the atmo-
sphere (downward infrared radiation). The main factors determining effective 
radiation are air temperature and humidity, temperature of the surface, stratifi cation of 
the atmosphere, and cloudiness (cloud amount and type, height and physical proper-
ties of clouds).    Counter-radiation plays a very important role in the Arctic, especially 
in the winter when insolation becomes negligible. Vowinckel and Orvig ( 1970 ), how-
ever, have also shown that this component is dominant in summer, too (Table  3.1 ).

   Long-wave net radiation and its elements are very rarely measured in Arctic  acti-
nometric stations  , and, as Marshunova and Chernigovskii ( 1971 ) write such obser-
vations were not made in the non-Soviet Arctic at all. As Serreze and Barry ( 2005 ) 
state, there still exist “insuffi cient direct measurements of the downwelling long-
wave fl ux to compile maps for the Arctic.” Therefore, our knowledge about effective 
radiation comes mainly from computations. Recently though, for this purpose, 
ISCCP-D data have been used (Serreze and Barry  2005 ). They present maps of long-
wave net radiation at the surface for four midseason months (Jan, Apr etc.), which 
are different than presented here in Fig.  3.6  and therefore cannot be compared.

   Table 3.1    Per cent contribution by insolation and counter-radiation to total surface radiation 
income in June   

 Type of radiation 

 Latitude (°N) 

 65  70  75  80  85  90 

 Long-wave (%)  60  64  68  69  69  69 
 Short-wave (%)  40  36  32  31  31  31 

  After Vowinckel and Orvig ( 1970 )  
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   From November to March, the effective radiation over the open water surface in 
the  Barents and Norwegian seas   and on the eastern coast of Greenland is twice that 
in the coastal regions (4–5 kcal/cm 2 /month [16.7–20.9 kJ/cm 2 /month] and 2–2.25 
kcal/cm 2 /month [8.4–9.4 kJ/cm 2 /month]). In March, the effective radiation near the 
North Pole is only a little lower than in the southern part of the Arctic (Fig.  3.6 ). In 
the warm half-year, the effective radiation in the central part of the Arctic is twice 
as low as in winter, while in the rest of the Arctic the decrease is not so big (compare 
especially the continental parts of the Arctic). On an  annual basis   (Fig.  3.6 ), the 
effective radiation is lowest in the vicinity of the North Pole (20 kcal/cm 2  [83.6 kJ/cm 2 ]). 
According to Marshunova and Chernigovskii ( 1971 ), this is a consequence of the 
 low surface temperature   in winter and high cloudiness in summer. In the rest of the 
Arctic, the effective radiation rarely exceeds 30 kcal/cm 2  (125.4 kJ/cm 2 ) reaching a 
maximum (>40 kcal/cm 2  [167.2 kJ/cm 2 ]) in a small area located to the west of 

  Fig. 3.6    Mean totals of effective radiation in the Arctic for March, June, and September (in kcal/
cm 2 /month) and for the year (in kcal/cm 2 /year) (After Marshunova and Chernigovskii  1971 )       
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Spitsbergen (all-year open water connected with the warm West Spitsbergen 
Current).    Positive values of effective radiation mean here that the terrestrial radia-
tion is greater than the counter-radiation of the atmosphere.  

3.5     Net Radiation 

 The net radiation balance of the surface is a result of the subtraction of its long-wave 
component from its short-wave component. The net short-wave radiation in the 
Arctic is always positive or equal to zero (polar night). The effective radiation exists 
throughout the whole year and it is mainly positive in the sense given in the previous 
section. For the mean monthly and annual averages which we have analysed, it is 
always positive, as was shown in the previous section (see Fig.  3.6 ). Vowinckel and 
Orvig ( 1970 ) distinguished two types of radiation regime in the Arctic: the 
 Norwegian Sea   and the  pack-ice types   (Fig.  3.7 ). The fi rst type occurs over open 
ocean areas north of the Arctic Circle. The characteristic feature of this type is the 
occurrence of a large negative balance (lower than one can expect) during winter, 
which almost completely reduces the positive balance during summer. In compari-
son with  the   pack-ice type, the radiation balance of the fi rst type shows signifi cantly 
greater changes in the annual march from −2 cal/cm 2 /day to 3 cal/cm 2 /day (−8.4 J/
cm 2 /day to 12.5 J/cm 2 /day) versus −1 cal/cm 2 /day to 2 cal/cm 2 /day (−4.2 J/cm 2 /day 
to 8.4 J/cm 2 /day). From Fig.  3.7 , it may be seen that the net radiation balance is a 
very small residual of large components of  incoming and outgoing radiation fl uxes  . 
Thus, as Vowinckel and Orvig ( 1970 ) notice the balance will be highly sensitive to 
slight inaccuracies in the estimated incoming and outgoing radiation. For more 
details, see Vowinckel and Orvig ( 1970 ).

   In January (Fig.  3.8 ), solar radiation is not present in the greater part of the 
Arctic, so in this month the radiation balance is caused by effective radiation. The 
net balance is equal to −8 kJ/cm 2  almost over the whole Arctic, except the open 
water in the Greenland, Norwegian, and Barents seas and Baffi n Bay. The highest 
negative values, up to −25 kJ/cm 2 , occur in the eastern part of the  Greenland Sea  , 
especially near the western coast of Spitsbergen. Some polynyas in the K ara and 
Laptev seas   also have values (−13 kJ/cm 2 ) which are lower than normal.

   In spring (April), the radiation balance is still slightly negative in most of the 
Arctic. Small positive values occur only in the southern parts of the  Canadian Arctic 
and Pacifi c regions   (up to about 3 kJ/cm 2 ). Signifi cantly greater values of the net 
radiation balance (up to 13–14 kJ/cm 2 ) are noted in the southern part of the Atlantic 
region. However, the highest values (up to 21 kJ/cm 2 ) are recorded in Baffi n Bay 
(Fig.  3.8 ). 

 In July (Fig.  3.9 ), the radiation balance reaches its highest positive values. In the 
central part of the Arctic, it varies between 15 kJ/cm 2  and 17 kJ/cm 2 , near  the   sea-
ice edge it is equal to 34 kJ/cm 2 , and in the open water of the Arctic seas it is at its 
highest, reaching as much as 42 kJ/cm 2 . Continental parts of the Arctic receive 
30–35 kJ/cm 2 .

3.5 Net Radiation
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  Fig. 3.7    Radiation regimes in the Arctic: ( a ) Norwegian Sea type and ( b ) pack ice type after 
Vowinckel and Orvig ( 1970 ).  a  – total incoming radiation, cloudless sky;  b  – actual total incoming 
radiation;  c  – actual total radiation absorbed on the ground;  d  – long-wave radiation from the 
ground;  e  – long-wave incoming radiation, overcast sky;  f  – actual long-wave incoming radiation; 
 g  – long-wave incoming radiation, cloudless sky;  h  – actual radiation balance;  i  – long-wave radia-
tion by CO 2        
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   In October (Fig.  3.9 ), the radiation balance of the surface becomes negative again 
over the entire Arctic. In the Arctic Ocean and the Arctic seas covered by sea ice, the 
values of the balance oscillate mainly from −5 kJ/cm 2  to −6 kJ/cm 2 . Similar values 
are also observable in the continental Arctic. Open water near the  sea-ice edge   
(Greenland, Norwegian, Barents, and Chukchi seas, and Baffi n Bay) has the highest 
negative radiation balance (from −8 kJ/cm 2  to −13 kJ/cm 2 ). 

 The  annual values   of the net radiation balance (Fig.  3.3b ) are negative in the 
central part of the Arctic, mainly above 77–82°N reaching −12 kJ/cm 2  at the North 
Pole. The lowest observable values have been noted, however, in the centre of the 
northern part of the Greenland Ice Sheet (−16 kJ/cm 2 ) and in the Greenland Sea near 
the coast of Spitsbergen (−17 kJ/cm 2 ). In the continental parts of the Arctic (<70°N), 
especially in the Canadian Arctic, the net radiation values exceed 70 kJ/cm 2  and 
probably reach more than 100 kJ/cm 2  in the southernmost fragments. High values of 
radiation balance (100–110 kJ/cm 2 ) also occur in the southern parts of the Barents 
Sea, the Denmark Strait, and Baffi n Bay. 

 Comparison of the  distribution   of the net radiation balance in the Arctic (pre-
sented here after Khrol ( 1992 )) with other recently published sources (e.g. Serreze 
and Barry  2005 , their Figure 5.6) reveals a generally good correspondence.    The 
main difference between the described sources was found for April. Observations 
show (Fig.  3.8 ) low negative net radiation (−3 – −2 kJ/cm 2 ) in the Arctic Ocean, 
while calculations based on the ISCCP-D data reveal a positive balance (about 
5 kJ/cm 2 ). Satellite data do not allow for small scale net radiation features, such as 
those seen in observations in January’s and October’s maps to the west and south of 
Spitsbergen (near the boundary of the extent of sea ice).  

3.6     Heat Balance 

3.6.1     Sensible Heat and Latent Heat 

 The net radiation balance presented in the previous section is the most important 
component of the heat balance of the surface. Yet, as we know, the energy is not only 
transported by radiation. It can also be transported from the surface to the atmo-
sphere by evaporation and sensible heat and from the atmosphere to the surface by 
condensation and sensible heat. However, our knowledge concerning these two 
fl uxes is still limited. As may be seen from the previous section, radiation balance 
computations can be compared with observations. This permits us to check the cor-
rectness of the formulas used for the radiation balance computations. Such a possi-
bility does not exist in the case of the sensible and latent heat fl uxes because no 
accurate direct measurement techniques exist. Thus, our knowledge about this part 
of the heat balance comes only from computations, which use for this purpose both 
different climatic data (mainly air and sea/land temperature, air humidity, and wind 
speed) and different characteristics of land and sea surface. Shuleykin ( 1935 ), 
Budyko ( 1956 ), Untersteiner ( 1964 ), Vowinckel and Taylor ( 1965 ), Ariel et al .  
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( 1973 ), Khrol ( 1976 ), and Murashova ( 1986 ) developed methods of computing 
these fl uxes. Calculating geographical distributions of the elements of the heat bal-
ance of the Arctic surface is a diffi cult and time-consuming task. Therefore, the 
existing literature is very meagre. Vowinckel and Taylor ( 1965 ) computed evapora-
tion and sensible heat fl uxes separately for the following areas: the central Polar 
Ocean, Kara-Laptev Sea, East Siberian Sea, Beaufort Sea, and the 5° latitude belts 
in the Norwegian-Barents Sea. For more details, see this paper or Vowinckel and 
Orvig ( 1970 ). Only Russian climatologists have presented results of the distribution 
of the heat balance elements in the Arctic in the form of maps (Budyko  1963 ; 
Gorshkov  1980 ;  Atlas Arktiki   1985 ; Khrol  1992 ).  Budyko’s maps   concern the whole 
Earth and therefore they include only the southernmost parts of the Arctic. The 
maps presented here come from Khrol ( 1992 ). The values of sensible heat and latent 
heat fl uxes were calculating using methodology proposed by Ariel et al. ( 1973 ), 
Khrol ( 1976 ), and Murashova ( 1986 ). 

3.6.1.1     Sensible Heat 

 In January (Fig.  3.10 ), the sensible heat fl ux is positive over almost the entire Arctic, 
except the open water areas in the Greenland, Norwegian, and Barents seas, and in 
 the   Denmark Strait and Baffi n Bay (including the polynya known as North Water). 
The highest positive values occur in the central Arctic, Greenland, the northern con-
tinental parts of the Russian Arctic, and the northern part of the Canadian Arctic 
Archipelago (4–5 kJ/cm 2 ). The greatest loss of energy (up to −60 kJ/cm 2 ) may be 
observed in the areas occupied by  warm sea currents   (West Spitsbergen Current, 
Norwegian Current, Murmansk Current, and West Greenland Current).

   In April (Fig.  3.10 ), the pattern of distribution of sensible heat is very similar to 
that in January. The main observable differences concern the magnitude of the 
 fl uxes  . In April, both positive and negative sensible heat fl uxes are lower. The high-
est values oscillate between 2 kJ/cm 2  and 3 kJ/cm 2 , while the lowest are between 
−25 kJ/cm 2  and −34 kJ/cm 2 . The average decrease of the sensible heat in compari-
son with January is equal to 1–2 kJ/cm 2  in most of the Arctic (except in open water, 
where this decrease is greater). 

 In July (Fig.  3.11 ), the sensible heat is negative in the central Arctic, with highest 
values near the North Pole (−2 kJ/cm 2 ). These negative values are spread more to 
the south (up to 70°N) from the  Pacifi c region   side. Greater negative values occur in 
the interior of Greenland (−8 kJ/cm 2 ) and most of all in the continental part of the 
Arctic (up to −15 kJ/cm 2 ). Between these  two   regions with negative values of sen-
sible heat, there is a belt with positive values reaching as high as 15–17 kJ/cm 2 . 
Even higher values may be noted locally in the south-western part of the Canadian 
Arctic. This is connected with the advection of warm continental air from the South.

   In October (Fig.  3.11 ), the sensitive heat fl uxes again became positive in the 
Arctic Ocean (up to 3 kJ/cm 2 ) and in Greenland (up to 5 kJ/cm 2 ). In the Arctic seas 
covered by sea ice, the fl uxes are mainly slightly negative (except the Beaufort Sea 
and possibly the Laptev Sea) and are infl uenced by the advection of cold air from 
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the continent. The  negative values   are stronger (up to −25 kJ/cm 2 ) in the seas with 
open water (the Norwegian, Greenland, Barents, and Chukchi seas, the Danish 
Strait, Baffi n Bay, and the Bering Strait). The northern part of the continental Arctic 
(including the Canadian Arctic Archipelago) has slightly positive sensible heat 
(rarely exceeding 2 kJ/cm 2 ). 

  Annual values   of sensible heat (Fig.  3.12a ) are positive in the Arctic Ocean cov-
ered by perennial sea ice (up to 21 kJ/cm 2 ) from the Canadian side, in Greenland, 
and in the Greenland Sea occupied by the cold East Greenland Current (up to 63  kJ/cm 2 ). 
Very high positive values are also observed locally in sea water areas between the 
islands of the Canadian  Arctic   Archipelago. Moderate negative sensible heat fl uxes 
are noticeable in the continental part of the Arctic (up to about −22 kJ/cm 2 ). On the 
other hand, very great losses of energy occur mainly in the eastern part of the 
 Greenland Sea  , where the warm West Spitsbergen Current reaches the sea-ice edge 
(−368 kJ/cm 2 ). A signifi cant loss of energy also occurs in the polynyas and leads 
areas (up to −42 kJ/cm 2 ).

3.6.1.2        Latent Heat 

  La  tent heat fl uxes in the Arctic are signifi cantly weaker in January than sensible 
heat fl uxes. In this month (Fig.  3.13 ), evaporation is very slight in the Arctic because 
of low temperature and a surface covered by sea ice and snow. As a result, the latent 
heat fl uxes do not exceed −1 kJ/cm 2  in the central Arctic. Near the sea-ice edge, the 
loss of energy gets higher (−4 kJ/cm 2 ) and in the open water areas it reaches its 
maximum (−39 kJ/cm 2 ). Polynya areas show a loss of energy up to −4 kJ/cm 2 .

   In April (Fig.  3.13 ), the situation is very similar to that of January. The loss of 
energy in most of the Arctic is only a little stronger. 

 In July (Fig.  3.14 ), the Arctic losses signifi cantly more energy via evaporation 
than in winter. The highest negative fl uxes occur in the continental parts of the 
Arctic and also in the coastal areas of the Arctic islands (−14 kJ/cm 2  to −19 kJ/cm 2 ). 
Also negative fl uxes (but about 6–7 times smaller) occur in the Arctic Ocean 
(−2 kJ/cm 2  to −3 kJ/cm 2 ). Between these two areas, i.e. in the Arctic seas (excluding 
the Norwegian Sea and the western part of the Barents Sea and the southern part of 
the Kara and Chukchi seas), positive latent heat fl uxes occur (up to 4–8 kJ/cm 2 ). 
Polynya areas lose up to −4 kJ/cm 2 .

   In October (Fig.  3.14 ), the latent heat fl uxes in the entire Arctic become negative 
again. In the Arctic Ocean and seas covered by sea ice, the negative values oscillate 
from −0.8 kJ/cm 2  (the North Pole) to about −4 kJ/cm 2  and −6 kJ/cm 2  near the sea-ice 
edge. On the open water areas, the loss of energy is signifi cantly greater and in the 
Norwegian and Greenland seas it reaches a maximum equal to −28 kJ/cm 2  and 
−24 kJ/cm 2 , respectively. 

 Annual values of latent heat fl uxes in the Arctic (Fig.  3.12b ) are negative in all 
areas. In the Arctic Ocean, these values oscillate between −16 kJ/cm 2  and −19  kJ/cm 2  
and their absolute values are only slightly lower than the sensible heat fl uxes. Thus, 
for the Arctic Ocean, these two fl uxes almost cancel themselves out (compare 
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Fig.  3.12a, b ). However, for the Arctic seas, they already have mostly the same signs 
(excluding the Beaufort, Chukchi, and East Siberian seas, as well as the western part 
of the Greenland Sea). The negative latent heat fl uxes are stronger here than the 
sensible heat fl uxes, apart from a small part of the Greenland Sea near the coast of 
Spitsbergen, where they are very similar. The losses of energy from the continental 
part of the Arctic are more than twice as large as the sensible heat fl uxes and reach 
almost −50 kJ/cm 2 .   

3.6.2     Net Surface Heat Flux 

 Heat balance maps for the Arctic are not available in the  Atlas of    the     Energy Balance 
of the Northern Polar Area  edited by Khrol ( 1992 ). Therefore, information given 
about the energy budget in the Arctic is based on recently published results by 
Serreze et al. ( 2007 ). For this purpose, they used ERA-40 reanalysis data for 1979–
2001, produced by the European Centre for Medium Range Weather Forecasts. New 
estimates of the large-scale Arctic atmospheric energy budget are also presented by 
Porter et al. ( 2010 ). 

 Net surface heat fl uxes for the midseason months and for the whole year are 
presented in Figs.  3.15  and  3.16 . It can be very clearly seen that in the Arctic, a 
negative heat balance prevailed throughout the year, except in summer. In January, 
the greatest negative heat balance is observable over open ocean areas (upward 
fl uxes exceed 100 W m −2 ), while fl uxes more than twice as small can be seen in the 
parts of the Arctic Ocean covered by ice (Fig.  3.15 ). The smallest upward fl uxes 
(less than 10 W m −2 ) occurred over continental parts of the Arctic and in Greenland. 
In April, a clear contrast between land and ocean areas is seen. Over the Arctic 
Ocean and its neighbouring seas, a still-negative heat balance is observable, with 
maximum values approaching and exceeding 100 W m −2  to the south of the Svalbard 
area (Fig.  3.15 ). On the other hand, the land area has a small (−10 – −30 W m −2  ) but 
positive heat balance (downward fl uxes). In summer, in the entire Arctic region, 
only downward fl uxes (positive heat balance) are observable (Fig.  3.15 ). Markedly 
greater fl uxes are found over ocean and sea areas than over land. The Arctic Ocean’s 
lowest positive heat balance can be seen in the area surrounding the North Pole, and 
this is due to that area having the most stable ice and the smallest ice melting inten-
sity. To the south of this area, the heat balance is rising, and particularly strongly in 
the longitude sector 30°W and 30°E. This is due to the intensifi cation of the melting 
ice and snow and greater absorption of solar radiation in open water areas. It is 
mostly between 80°N and 70°N that values of −100 W m −2  are exceeded (Fig.  3.15 ). 
In October, the pattern of distribution of surface heat balance is similar to that occur-
ring in January. It is worth noting, however, that values of upward heat fl uxes are 
found over continents and surrounding seas, and for the most part is only slightly 
greater than in winter (Fig.  3.15 ).

    Annually averaged net surface heat fl uxes varied from 0 to about −10 W m −2  over 
continents to 0–10 W m −2  over the Arctic Ocean and its surrounding seas (Fig.  3.16 ). 
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  Fig. 3.15    Maps of the net surface heat fl ux from ERA-40 for January, April, July, and October 
extending down to 60°N. The 70°N latitude circle is indicated in  bold . The −100, 0, and 100 W m −2  
contours are shown as dashed lines. Areas in white are ±10 W m −2  (After Serreze et al .  2007 )       

The most negative surface heat balance is observable in the Atlantic region of the 
Arctic. In the interior of Greenland, the heat balance is near zero (Fig.  3.16 ). 

 The following explanation given by Serreze et al. ( 2007 ) must be added here for the 
clarity of the presented results. “As discussed with reference to Table 1, the values are 
likely too large. Assuming a steady state climate, the fl ux should be close to zero over 
land. However, according to ERA-40, the annual average fl ux over much of the land is 
between −5 and −10 W m −2  and locally greater. While these also seem much too large, 
the sign is likely correct as available observations point to subsurface warming.”      
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    Chapter 4   
 Air Temperature       

4.1                   Mean Monthly, Seasonal, and Annual Air Temperature 

 Air temperature is the most important, and therefore also most often studied,  clima-
tological element  . This is as true for the Arctic as it is for everywhere else. For this 
reason, our knowledge about this element, in comparison with others, is the best, but 
is still not suffi cient for some parts of the Arctic (e.g. the central Arctic and the inner 
part of Greenland). 

 The instrumental records of Arctic temperature are brief and geographically 
sparse. Only six records (Upernavik: commenced 1874; Jakobshavn: 1874; Godthåb: 
1876; Ivigtut: 1880; Angmagssalik: 1895 and Malye Karmakuly: 1895) extend back 
to the second half of the nineteenth century. As can be seen, all climatic stations 
operating during the nineteenth century were located in Greenland, except Malye 
Karmakuly (Novaya Zemlya). Outside these areas, the fi rst station was established 
in Spitsbergen in 1911 (Green Harbour). Recently Nordli et al. ( 2014 ) extended this 
series to 1898, based on meteorological observations conducted in different parts of 
Svalbard during hunting expeditions organized at the turn of the nineteenth century. 
In the 1920s, the next seven stations came into operation, mainly in the Atlantic 
region of the Arctic. Following the Second International Polar Year (1932/1933), 
most of the Russian stations were established, while most of the Canadian stations 
were founded after World War II. For this reason, both  spatial distribution   and reli-
able estimates of air temperature characteristics in the Arctic are only possible for 
the last 60–70 years. 

 Besides the stations,  extensive meteorological data   have also been gathered dur-
ing the well-known Fram (1893–1896) and Maud (1918–1925) expeditions. Later 
on, since 1937 Soviet drifting stations have supplied a large stream of different 
kinds of meteorological data for the central part of the Arctic Ocean. Unfortunately, 
this long-term project ended in 1991. Luckily, however, the Polar Science Center at 
the University of Washington ran a new research project “The Arctic Ocean Buoy 
Program” in 1979. Early that year an array of automatic data buoys was established 
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in the Arctic Ocean. The main objectives of this programme are to provide measure-
ment of surface atmospheric pressure over the Arctic Ocean and to defi ne the  large- 
scale fi eld   of motion of the sea ice. In the fi rst few years, temperature sensors were 
installed inside buoys and therefore gave only rough information about this element. 
Since 1992, however, they have been mounted outside, so the quality of data is sig-
nifi cantly greater. Recently, Roshydromet decided to restore the operation of drift-
ing stations in the Arctic Ocean that have been present there since 2003. In addition 
to standard meteorological and aerological observations, these stations record: com-
plex studies of the characteristics of  atmospheric surface and boundary layers  ; spec-
tra measurements of incoming, refl ected, and ice-penetrated solar radiation; 
long-wave radiation fl uxes; and morphological properties of the snow-sea ice cover. 
Since 2007, the boundary layer structure, including low level jets and surface inver-
sions, has been investigated in collaboration with the Alfred Wegener Institute from 
Potsdam (Germany) (Sokolov and Makshtas  2013 ). Satellites also constitute new 
and extremely powerful sources of information about temperature in the Arctic (see 
e.g. Comiso and Parkinson  2004 ; Comiso  2006 ). 

 Although, as has been seen, the fi rst reliable climatological estimation of the 
spatial air temperature distribution in the Arctic was practically possible only in the 
second half of 1950s, there were also some earlier attempts to do this. Mohn ( 1905 ) 
was probably fi rst to publish maps showing the spatial distribution of mean air tem-
peratures for all months and for the year. The next proposition was given by Brown 
( 1927 ), though only for January and July. The maps are, of course, in both cases 
very schematic. For example, Brown ( 1927 ) drew isotherms every 30 °F. In the 
central Arctic, temperatures in January and July were estimated to be about −30 °F 
(−34.4 °C) and 30 °F (−1.1 °C), respectively. More accurate maps (with isotherms 
every 5 °C) were published by Mecking ( 1928 ). In his maps the lowest temperatures 
in the Arctic occur near the North Pole and on the Greenland Ice Sheet, where they 
reach about −40 °C (January) and 0 °C (July). Sverdrup ( 1935 ) presented a signifi -
cantly more detailed  spatial distribution   of air temperature (isotherms every 2 °C) 
for almost the whole Arctic and for every second month (starting from January). 
The coldest month was January with the mean temperature below −36 °C, including 
the area spreading from the North Pole to the northern parts of Greenland and the 
Canadian Arctic Archipelago. In comparison with Mecking’s map, Sverdrup 
assumed that the mean temperature in July (near 0 °C) is not only present around the 
North Pole, but over the whole Arctic Ocean, including large parts of the Arctic 
shelf seas. 

 Reviewing the climatological literature after World War II, we fi nd only a few 
more propositions (besides those presented above) showing the  spatial distribution   
of the temperature in the Arctic based on instrumental observations (Petterssen 
et al.  1956 ; Prik  1959 ; Baird  1964 ; Central Intelligence Agency  1978 ; Herman 
 1986 ; Parkinson et al.  1987  (based on data from Crutcher and Meserve  1970 ), 
Przybylak  1996a ,  b ,  2000a ,  2002 ; Rigor et al.  2000 ; Frolov et al.  2005 ; Serreze and 
Barry  2005 ,  2014 ). Most other sources (e.g. Prik  1960 ; Sater  1969 ; Vowinckel and 
Orvig  1970 ; Donina  1971 ; Sater et al.  1971 ; Barry and Hare  1974 ; Sugden  1982 ; 
Martyn  1985 ) mainly reprint some of Prik’s ( 1959 ) maps. In turn, maps published 
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in well-known Russian atlases (Gorshkov  1980  and  Atlas Arktiki   1985 ) are also 
updated versions of maps which had been authored and edited by Prik ( 1959 ). The 
majority of the sources cited, as Przybylak ( 1996a ) has noted, present only the  spa-
tial distribution   of temperature for January and July. Only Przybylak ( 1996a ,  2002 ) 
has published maps for the four meteorological seasons popularly used in climatol-
ogy (December–February, March–May, etc.) and for the year as a whole. About 40 
homogeneous continuous series of temperature from the period 1951–1990 have 
been used to draw these maps. Out of the regional research, one should mention 
such works as those by Rae ( 1951 ), Donina ( 1971 ), Maxwell ( 1980 ), Barry and 
Kiladis ( 1982 ), Ohmura ( 1987 ), Calanca et al. ( 2000 ), and Przybylak et al. ( 2014 ). 
Recently, however, maps presenting the spatial distribution of air temperature in the 
Arctic using data available from different reanalysis projects have become more and 
more popular (see e.g. Walsh  2008 ; Turner and Marshall  2011 ). 

 In this  monograph  , the maps published by Przybylak ( 1996a ,  2002 ) are presented 
because: (1) they show actual mean seasonal and annual temperature conditions in 
the Arctic, (2) Prik’s maps are easily available in the existing literature, and (3) 
Ohmura ( 1987 ) showed that the distribution of temperature over Greenland in Prik’s 
maps contains “serious climatological errors.” I must add that these errors are elimi-
nated in the maps presented in  Atlas Arktiki  ( 1985 ), which is, however, a less avail-
able source. Przybylak ( 1996a ,  2002 ) does not give the temperature for Greenland. 
Therefore, the temperature maps for Greenland after Ohmura ( 1987 ) and Calanca 
(personal communication) are also presented. 

4.1.1     Annual and Daily Cycles of Temperature 

 The annual cycle of air temperature is a result of

    1.    Changes in the amount of energy received from the sun, which depends on the 
geographical latitude and season of the year   

   2.    Changes in atmospheric circulation   
   3.    Changes in the physical properties of the underlying surface     

 Petterssen et al. ( 1956 ) have distinguished three well-defi ned types in the annual 
cycle of temperatures in the Arctic: (1) maritime, (2) coastal, and (3) continental. 
These types can be seen in Fig.  4.1 . Jan Mayen has a maritime type, Malye 
Karmakuly and Egedesminde have a coastal type, and the rest of the stations have a 
 continental type  . From the map presenting the thermic continentality of the Arctic 
climate (Fig.  4.2 ), we can see that Jan Mayen has a continentality below 20 %, 
Malye Karmakuly and Egedesminde about 40–50 %, and the rest of the stations 
above 60 %. Thus, we can assume that regions of the Arctic with a degree of conti-
nentality lower than 30 % probably have a maritime type, areas with a continentality 
ranging from 30 % to about 55 % have a coastal type, and regions with a continen-
tality > 55 % have a continental type. From Fig.  4.2 , it is evident that the continental 
type is the most common type, occurring in almost 80 % of the Arctic, excluding 

4.1 Mean Monthly, Seasonal, and Annual Air Temperature



78

  Fig. 4.1    Annual course of air temperature (according to monthly means) in the selected Arctic 
stations, 1961–1990 (after Przybylak  1996b ).  a  – Danmarkshavn,  b  – Jan Mayen,  c  – Malye 
Karmakuly,  d  – Polar GMO E.T. Krenkelya,  e  – Ostrov Dikson,  f  – Ostrov Kotelny,  g  – Mys 
Shmidta,  h  – Resolute A,  i  – Coral Harbour A,  j  – Clyde A,  k  – Egedesminde,  l  – average tempera-
ture for the 65–85°N zone for the period 1961–1986 (after Alekseev and Svyashchennikov  1991 )       
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mainly the Atlantic region, the southern part of Baffi n Bay, and probably also the 
Pacifi c region. The second most common variety is the maritime type. What are the 
main features of these types?

      Maritime type (Jan Mayen) . Very small annual range of temperature (i.e. difference 
between the highest and  the   lowest mean monthly temperature) slightly exceed-
ing 10 °C. A curve presenting the mean temperatures of the summer months 
(June–August) shows a small variation only between 4 and 5 °C. There is a simi-
lar situation in the winter months (from December to March) when the tempera-
ture oscillates between −5 °C and −6 °C. The maximum temperature is shifted to 
August, and the minimum temperature to March.  

   Coastal type (Malye Karmakuly, Egedesminde) . This type, in principle, can be 
called “the transitional type”    between the fi rst (maritime) and the third (conti-
nental) types. The annual range of temperature (20 °C) here is about twice that 
of the fi rst type and half that of the continental type. Air temperature in winter is 

  Fig. 4.2    Thermic continentality of the climate in the Arctic (After Ewert  1997 )       
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markedly lower than in the maritime type and also signifi cantly greater than in 
the continental type. The minimum temperature is often shifted to February and 
sometimes, like in the case of Egedesminde, even  to   March. In summer, air tem-
peratures are similar or higher than in the maritime type. The maximum can 
sometimes be delayed as Petterssen et al. ( 1956 ) note, but in our case such a situ-
ation does not occur.  

   Continental type (rest of stations) . This type is characterised by the highest annual 
range of temperature (about 40 °C), the lowest winter  temperature   (monthly 
means oscillate between −30 °C and −35 °C) occurring mostly in January and 
rarely in February. Summer temperatures are relatively very high, especially in 
southern parts of the Arctic and can reach values near 10 °C. In the high Arctic, 
however, they are reduced to only 1–3 °C (Fig.  4.1a, d, g, and h ). At the North 
Pole, the mean temperature of the warmest month (July) is only equal to −0.5 °C 
(see Table  4.1 ). In the central part of the Greenland Ice Sheet (Eismitte), the 
mean monthly temperatures oscillate from about −42 °C (February) to about 
−12 °C (July) (Donina  1971 ).

      According to the presented temperature data from stations, the warmest month is 
July. Out of 11 stations representing different climatic regions of the Arctic, this was 
the case in as many as 9 stations. Only in Jan Mayen and Ostrov Dikson, the warm-
est monthly temperature was in August. The  coldest month   is most often February 
(6 stations), January (3 stations), or March (2 stations). These results are in line both 
with recently reported areally averaged monthly temperatures for the Siberian, 
Pacifi c, and Central Ocean regions and with results from the North Pole (see 
Table   4.1 ), where clearly the highest temperatures occur in July. The lowest tem-
peratures are noted in all regions in February, but in the Siberian and Pacifi c regions 
the temperature differences between February and January are very small (<0.5 °C). 
The annual cycle of mean temperature from the latitude band 65–85°N shows simi-
lar results (Fig.  4.1 ). 

 The mean monthly  daily courses   of air temperature have a clear asymmetric 
course throughout the year, except during the polar night. The second half of the day 
is usually warmer. On average, the highest temperature occurs between 13°° and 
15°° (Fig.  4.3 ). In the polar night, Przybylak ( 1992 ) distinguished fi ve basic types 
 of   daily courses of temperature in Hornsund (Spitsbergen): (1) a “normal” pattern 
with a maximum temperature in “daytime” hours and minimum values at “night”; 
(2) a “reverse” pattern with a maximum temperature at “night” and minimum in 
“daytime” hours; (3) with a tendency towards increasing temperatures throughout 
the entire 24 h; (4) with a tendency towards decreasing temperatures throughout the 
entire 24 h; and (5) with a nearly constant temperature throughout the entire 24 h. 
During the four winter months (Nov. – Feb.) of the period 1978–1983, types 4 
(25.9 %) and 2 & 3 (23.3 % each) were most frequent. The “reverse” daily course 
of temperature occurred mainly in December (25.3 %) and January (17.4 %). This 
was most apparent on fi ne days (Przybylak  1992 ).

   Przybylak ( 1992 ) also found that  the   occurrence of the “reverse” daily course of 
temperature during the polar night in Hornsund is usually accidental and mainly 
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connected with nonperiodic changes of temperature resulting from intensive 
cyclonic activity. Even if we assume that there are other factors favouring the occur-
rence of the “reverse” daily course of temperature (e.g. daily periodicity of radiation 
balance and the infl uence of ozone on it,    or daily changes of geomagnetic activity) 
they may manifest themselves only in some synoptic situations (usually anticy-
clonic, non-advectional) which, however, occur very rarely during this period. 

 The clearest daily courses occur on days with little cloudiness. This can be seen 
in all seasons, except during the polar night, when the differentiation role of the 
cloudiness is negligible (see Figure 15 in Przybylak  1992 ).  

4.1.2     Spatial Temperature Patterns 

 Air temperature in the Arctic shows a great spatial variability in all seasons, but 
particularly in the  cold half-year   (see Figs.  4.4 ,  4.5 , and  4.6 ). The well-developed 
atmospheric circulation (and cyclonic activity in particular) during this period is the 

  Fig. 4.3    Mean monthly daily courses of air temperature in Hornsund (Spitsbergen), 1979–1983 
(After Przybylak  1992 ). I – January, II – February, III – March, etc.       
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main factor responsible for this situation. The coldest place in the Arctic in all sea-
sons is the northern part of the Greenland Ice Sheet. The  thermal regime   of this part 
of Greenland is shaped by high elevation above sea level, the character of the under-
lying surface (snow and ice), and the occurrence of quasi-stationary anticyclone 
circulation.

     In winter the mean temperature in Greenland drops below −40 °C (Fig.  4.6a ), 
reaching almost −45 °C. The secondary minimum temperature is shifted from the 
North Pole towards the Canadian Arctic Archipelago and Greenland, where the mean 
winter temperature is around −36 °C in the vicinity of the Eureka station (Fig.  4.4 ). 
A belt of low temperature (< −30 °C) spreads from this area through the North Pole 
towards the central part of the Siberian region. The balance between the loss of heat 
from the snow and ice surface by radiation and the gain in energy conducted by the 
surface from the water under the ice and transported from the lower latitudes by the 
atmospheric  circulation   can explain the existence of this large homogeneously cold 
area. The highest temperatures in the Arctic occur in the southernmost parts of the 
Atlantic and Baffi n Bay regions, where they oscillate between −2 °C and −6 °C. These 
high temperatures are the result of the transport of warm air masses within the very 

  Fig. 4.4    Spatial distribution of mean seasonal (DJF, MAM, etc.) air temperature (in °C) in the 
Arctic, 1951–1990 (After Przybylak  1996a , modifi ed for the central Arctic)       
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intense cyclonic activity connected with the Icelandic low (see Fig.   2.3a    ). Cyclones 
which enter the Pacifi c region are weaker than Atlantic cyclones, but their warming 
 e  ffect is also evident (see the shape of isotherms). Generally, as rightly noted by 
Radionov et al. ( 1997 ), the patterns of the isotherms and of the isobars are in good 
agreement with one another (compare Fig.   2.2a     with Fig.  4.4  or see  Atlas Arktiki   1985 ). 

 In  spring and autumn  , the general patterns of temperature distribution in the 
Arctic are very similar to those in winter (Fig.  4.4 ). The main difference lies in the 
magnitude of the temperatures, which, of course, are signifi cantly higher in transi-
tional seasons by about 10–15 °C. Comparing, however, temperatures in spring and 
autumn, one can see that spring temperatures are markedly lower by about 
6–8 °C. Such a situation is not only observable in the central part of the plateau of 
the Greenland Ice Sheet, where temperatures are similar or even colder in autumn 
(compare Fig.  4.6b, d ). At the Eismitte station, the mean temperatures in spring and 
autumn, calculated according to data published by Ohmura ( 1987 ), are equal to 
−30.9 °C and −31.0 °C, respectively. 

 In summer, the  distribution   of temperature is clearly more dependent upon the 
insolation (polar day) than upon the atmospheric circulation. As a result, the courses 

  Fig. 4.5    Spatial distributions of mean annual maximum ( T   max  ), minimum ( T   min  ), and average daily 
( T  mean ) air temperature (in °C) in the Arctic 1951–1990 (After Przybylak  1996a )       
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Fig. 4.6 (continued)
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of the isotherms are more latitudinal. In comparison with other seasons, the smallest 
spatial air temperature variation is also noted (the smallest horizontal temperature 
gradients). As mentioned earlier, the lowest mean summer temperature occurs in the 
northern part of the Greenland Ice Sheet (about −15 °C), but, in comparison with 
other seasons, this temperature may be seen to shift signifi cantly to the South, to the 
region of the highest elevation in Greenland (Fig.  4.6c ). In July, the temperature 
drops slightly here below −10 °C, and in June and August below −15 °C. The sec-
ondary temperature minimum occurs in the central Arctic, where the prevailing 
melting of snow and ice holds the surface temperature slightly below freezing point 
(Fig.  4.4 ). The highest summer temperature (>8 °C) is observable in the central con-
tinental parts of the Canadian and Russian Arctic. Areas where strong cyclonic activ-
ity prevails (the Atlantic and Baffi n Bay regions) tend to be relatively cold (4–8 °C). 

 Annual mean temperatures depend mainly on temperatures occurring in the cold 
half-year. Therefore, the patterns of annual,    winter, autumn, and spring temperature 
in the Arctic are very similar (compare Fig.  4.5  with Fig.  4.4 ). The lowest tempera-
tures occur in the Greenland Ice Sheet (>2000 m a.s.l.), where the mean annual ones 
above 70°N are below −20 °C. In the central part, this minimum drops even below 
−30 °C. Outside Greenland, the lowest temperatures (< −18 °C) occur in the same 
region as in winter, spring, and autumn, i.e., in the north-eastern part of the Canadian 
Arctic Archipelago. The Eureka station has noted the lowest mean annual tempera-
ture (−19.7 °C). Only a slightly warmer temperature occurs around the North Pole. 
The mean annual temperature at the North Pole for the period 1954–1991 was equal 
to −19.4 °C (Table  4.1 ). Slightly warmer conditions occur in the central part of the 
Arctic (above 85°N from the Atlantic side and above 80°N from the Pacifi c side), 
where mean annual temperatures oscillate between −16 °C and −18 °C. The warm-
est parts of the Arctic are those where cyclonic activity is greatest, i.e., fi rstly the 
regions spreading from Iceland to the Kara Sea (Atlantic region) and then the Baffi n 
Bay and Pacifi c regions. In all these areas the isotherms are bent to the north. 

 The variability of the annual mean temperature (Fig.  4.7 ) is the greatest 
(σ > 1.5 °C) in the area between Spitsbergen, Zemlya Frantsa Josifa, and Novaya 
Zemlya, and the smallest (σ < 1.0 °C) in the greater part of the Siberian region, in the 
north of the Canadian Arctic Archipelago, and probably also in the central Arctic 
Ocean, particularly from the Pacifi c side. Signifi cantly, the mean winter temperature 
has the greatest variability. Przybylak ( 1996a ) has distinguished three  regions   of the 
highest variability (σ > 2.5 °C): (1) the central and eastern part of the Atlantic region, 
(2) the belt encompassing the southern part of the Baffi n Bay region and the south-
eastern part of the Canadian Arctic, and (3) the eastern part of the Pacifi c region 
(mainly Alaska). The reason for this high variability here is, without doubt, the 
vigorous cyclonic activity. The cyclones bring into the Arctic warm air masses from 
the lower latitudes. The greatest variability, however, does not occur in these areas 
where the cyclone activity is most common (see Fig.   2.3a    ). This has been noted in 
the areas where changes of different kinds of air masses most often occur, e.g. air 
masses of maritime origin (warm) transported by cyclones and of Arctic or polar-
continental origin (cold) fl owing in from the northern sector. Other Arctic areas 
which are most often occupied throughout the year by either cold (central Arctic) or 
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warm (seas in contact with the mid-latitudes) air masses have the lowest variability. 
Mean summer temperatures have the lowest variability (σ rarely exceeding 1.5 °C). 
This occurs only in some areas of the Russian Arctic (Fig.  4.7 ). The greatest stabil-
ity of summer temperature may be seen in the region from Spitsbergen to Severnaya 
Zemlya (σ < 0.5 °C). The smallest  summer   temperature variability can be explained 
by (Przybylak  1996a ): (1) the lowest thermal differentiation of infl owing air masses 
(Przybylak  1992 ), (2) small daily differences in the altitude of the sun (polar day), 
and (3) the stabilising infl uence of the melting of snow and sea ice, which is espe-
cially strong in the Arctic Ocean.

   Alekseev and Svyashchennikov ( 1991 ) and Przybylak ( 1997 ) found that air tem-
perature in the Arctic is most spatially correlated in winter and spring, and least in 
summer. Mean annual temperatures reveal a slightly stronger correlation than win-
ter temperatures (see Przybylak  1997 ). The radius of the extent of statistically sig-
nifi cant coeffi cients of correlation of temperature changes around the stations 
Svalbard Lufthavn (Atlantic region), Ostrov Kotelny (Siberian region), and Resolute 
A (Canadian region) is equal to 2500–3000 km for annual values, 2000–2500 km 
for winter, and 1500–2000 km for summer (Fig.  4.8 ). From Fig.  4.8 , it can be seen 

  Fig. 4.7    Spatial distribution of the standard deviations (in °C) of winter (DJF), summer (JJA), and 
annual (Year) air temperature in the Arctic, 1951–1990 (After Przybylak  1996a )       
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that of the three analysed climatic regions, the highest spatial correlation of tem-
perature occurred in the Canadian region, probably due to the highest stability of 
atmospheric circulation, especially in the winter and spring (Serreze et al.  1993 ).

   The strong correlation of the  winter   temperature in the Atlantic and Baffi n Bay 
regions seems to be due to very common vigorous cyclonic activity (Baranowski 
 1977 ; Niedźwiedź  1987 ,  1993 ; Przybylak  1992 ; Serreze et al.  1993 ). This circula-
tion which carries warm and humid air masses from the lower latitudes diminishes 
local and even regional features of climatic variations. Cyclones move most often 
along the Iceland-Kara Sea trough. As a result, the isocorrelates in the eastern 
Atlantic region have a north-eastern bend. This bend is also present in isocorrelates 
of the annual temperature (see Fig.  4.8 ). The correlation of winter temperature 
changes in these regions is also undoubtedly caused by a lack of solar radiation over 
most of the area. In the other Arctic regions, the strong correlation of temperature 
change is probably also determined by the predominance of  anticyclonic circulation   

  Fig. 4.8    Isocorrelates of mean annual air temperature in the Arctic in relation to Svalbard 
Lufthavn, Ostrov Kotelny, and Resolute A stations, 1951–1990 (After Przybylak  1997 ). 1 – posi-
tive correlations statistically signifi cant at the level 0.05, 2 – negative correlations statistically sig-
nifi cant at the level 0.05, 3 – meteorological stations, 4 – station in relation to which the correlation 
coeffi cients of temperature were computed       
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as well as by a high uniformity of the ground. In spring – almost over the whole 
Arctic – high coeffi cients of correlation of temperature change are most probably 
connected with the highest simultaneous homogeneity of the ground (the largest 
part of the Arctic is covered by snow and sea ice) which, moreover, favours the 
development and upholding of anticyclones. The low correlation of the summer 
temperature change is probably caused by: (1) the greatest differentiation of the 
ground during this season, (2) weak and evenly distributed cyclonic and anticy-
clonic circulation (see Fig.   2.3    ), and (3) the infl uence of local conditions, which are 
remarkable during this season (it is at this time that the highest values of incoming 
solar radiation can be noted during a polar day). 

 Working from the least geometrical distances and using the  dendrite method  , 
Przybylak ( 1997 ) delimited nine groups of stations with the most similar (coherent) 
mean annual temperature in the Arctic. The schematic distribution of these regions 
is presented in Figure 7 (Przybylak  1997 ). It can be seen that most regions consist 
of two isolated areas. For example, the south-eastern part of the Canadian Arctic has 
a similar annual temperature to the area of the south-western Kara Sea and its 
 surroundings in the Atlantic region, and the Pacifi c region has the same annual tem-
perature as the north-eastern part of Greenland. 

 Przybylak ( 1997 ) found that the coeffi cients of correlation between seasonal and 
annual areally averaged Arctic (and also Arctic climatic regions) and Northern 
Hemisphere (two series: land only and land + sea, after Jones  1994 ) temperatures are 
not strong. The  average Arctic temperature   computed from 27 stations is statistically 
insignifi cantly positively correlated with both series of Northern Hemisphere tem-
perature (for annual values  r  = 0.18). Out of the fi ve series of the mean annual regional 
temperatures, the highest correspondence with the previously mentioned hemispheric 
series may be noted with the temperature of the Canadian region. The temperature of 
the Pacifi c region also has a high correlation, but only for the Northern Hemisphere 
temperature computed from the land stations ( r  = 0.40). Such relations are typical for 
almost all seasons. The examined series of temperatures are most strongly correlated 
in spring and (especially) summer. For the latter season, the statistically signifi cant 
correlations were computed between the Northern Hemisphere temperature and tem-
peratures of the Atlantic and Canadian regions (see Table 4 in Przybylak  1997 ).  

4.1.3     Frequency Distribution 

 In the previous section, the mean seasonal and annual patterns of temperature distri-
bution in the Arctic in the period 1951–1990 have been presented. Also knowledge 
about the occurrence frequency of different temperature intervals is particularly 
useful, especially for  weather and climate forecasting  . Przybylak ( 1996a ) investi-
gated this problem using both data from individual stations and area-average for 
climatic regions (see Fig.   1.2    ). The results for such data are very similar. Figure  4.9  
presents the relative frequency of occurrence of mean winter, summer, and annual 
temperatures of fi ve analysed climatic regions and for the Arctic as a whole in 1 °C 
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  Fig. 4.9    Relative frequency (in %) of occurrence of mean winter (DJF), summer (JJA), and annual 
(Year) temperature of climatic regions of the Arctic (RI-RV) and the Arctic as a whole (A) in 1 °C 
intervals, 1951–1990 (after Przybylak  1996a ). RI – Atlantic region, RII – Siberian region, RIII – 
Pacifi c region, RIV – Canadian region, RV – Baffi n Bay region; see also Figure 1.2       
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intervals.  Climatic regions   where cyclonic activity dominates (Atlantic, Pacifi c, and 
Baffi n Bay regions) have the greatest variability of mean winter temperature. Their 
frequency distributions are characterised by a wide range and a more steady occur-
rence frequency of individual temperature intervals. Usually the occurrence of three 
intervals (from −14 °C to −17 °C) both in the Atlantic (about 70 %) and Baffi n Bay 
(about 40 %) regions is not accidental. The cyclones, which are connected with the 
Icelandic low and have the same physical characteristics, are directed simultane-
ously, as we know, to the Atlantic and Baffi n Bay regions. In the Baffi n Bay region, 
however, the dominance of these cyclones and their strength is lower. As a result, 
the  occurrence frequency   of these three intervals is almost twice as low as in the 
Atlantic region. The most normal frequency distribution shows the mean tempera-
ture for the Siberian region, where two intervals markedly dominate: −29 °C to 
−30 °C (35 %) and −30 °C to −31 °C (about 20 %). There is a 50 % chance that the 
mean winter temperature of the whole Arctic will be between −21 °C and 
−22 °C. There is also a high frequency (about 30 %) that the interval −20 °C to 
−21 °C will occur.

   In summer, the mean temperature of all the climatic regions and of the Arctic as 
a whole has clear normal frequency distributions. In every region, one interval occurs 
with a frequency of at least 45 %. The lowest range of temperature variability occurs 
in the Atlantic region (only three intervals). Przybylak ( 1996a ) reported that this is 
caused by the infl uence of atmospheric circulation, which is still strong in this sea-
son.  In summer   (opposite to winter), the thermal differentiation of air masses incom-
ing here from different directions is markedly lower (Przybylak  1992 ). There is as 
much as a 70 % chance that the mean Arctic temperature will range from 3 to 4 °C. 

 The frequency distribution of the  mean annual temperatures  , similar to the sum-
mer temperature, is nearly normal. The mean annual Arctic temperature in about 
95 % of cases oscillates between −9 °C and −11 °C. What is interesting is that such 
mean annual temperatures do not occur in any climatic region. They are either 
warmer (Atlantic and Baffi n Bay regions) or colder (the other three regions).   

4.2     Mean and Absolute Extreme Air Temperatures 

 As results from investigations conducted by Przybylak ( 1996a ,  1997 ), the patterns 
of spatial distribution of mean 40-year normal ( T  mean ) and extreme ( T  max  and  T  min ) air 
temperatures in the Arctic are similar in all seasons and for the whole year. The dif-
ferences, of course, occur only in the magnitudes of temperatures. Usually the mean 
seasonal  T  max  and  T  min  are warmer and colder respectively than  T  mean  by about 4 °C, 
and for the year as a whole by about 3 °C. The only exception to this rule is the 
Arctic Ocean in summer, mainly in July, when the prevailing melting of snow and 
sea ice signifi cantly reduces these differences. From the above-mentioned reasons, 
only the mean annual spatial distribution of   T  max  and  T  min    is shown here (Fig.  4.5 ). 
For Greenland, unfortunately, such maps do not exist, but one can probably assume 
that the relationships described between the thermal parameters mentioned earlier 
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also occur here. In particular years, the highest deviations from the norm of mean 
extreme air temperatures are noted for winter (3–8 °C) and the lowest for summer 
(1–3 °C for  T  min  and 1–4 °C for  T  max ). Annual mean temperatures have anomalies of 
values similar to those of summer temperatures (Przybylak  1996a ,  1997 ). The spa-
tial distribution of the variability parameter (σ) computed for mean seasonal and 
annual  T  max  and  T  min  is very similar to that of  T  mean  (Fig.  4.7 ). Przybylak ( 1996a ) 
found that  T  max  has slightly higher, and  T  min  slightly lower σ than  T  mean . 

 The infl uence  of   cloudiness on  T  max  is opposite in warm (June – September) and 
cool (October – May) half-year periods (Table  4.2 ). In summer, the highest  T  max  is 
connected with clear days and the lowest with cloudy days. Positive anomalies dur-
ing clear days (see Table  4.2 ) are especially high (3–7 °C) in the most continental 
part of the Russian and Canadian Arctic. They are much lower in the western and 
central parts of the Atlantic region (1–2 °C). An increase in cloudiness in summer 
leads to a cooling of the whole Arctic, but especially of the parts of the Arctic which 
are located near its southern border and are characterised by a  high continentality   of 
climate: the stations Naryan-Mar, Chokurdakh, and Coral Harbour A. For these sta-
tions the mean differences of  T  max  between clear and cloudy days vary from 5 °C to 
7 °C, while in the Norwegian Arctic (maritime climate) they only differ from 1 °C 

           Table 4.2    Mean seasonal anomalies of  T  max  (in °C) in the Arctic on clear (1), partly cloudy (2), 
and cloudy (3) days over the period 1951–1990 (after Przybylak  1999 )   

 Season  Element  DAN a   JAN  HOP  NAR b   DIK b   CHO b   SHM b   RES c   COR c   CLY c  

 1  2  3  4  5  6  7  8  9  10  11  12 

 DJF  1  −3.1  −5.2  −10.1  −14.1  −8.4  −4.8  −5.9  −3.2  −6.3  −4.3 

 2  0.0  −1.1  −1.4  −3.8  −1.7  −0.6  −0.4  0.5  0.4  0.3 

 3  4.5  0.9  5.2  4.9  4.8  4.0  2.5  5.8  8.9  4.8 

 Mean   −18.5    −2.6    −9.2    −12.4    −21.4    −29.7    −21.2    −27.8    −24.0    −22.6  

 MAM  1  −2.3  −0.2  −8.9  −7.2  −8.7  −4.6  −6.1  −5.6  −6.0  −4.5 

 2  0.1  −1.1  −1.9  −0.9  −3.5  −0.3  −1.0  −1.0  −0.6  −0.3 

 3  2.2  0.7  3.8  1.7  4.0  3.6  3.1  7.8  6.3  4.4 

 Mean   −11.7    −1.0    −6.7    −1.9    −12.9    −12.7    −12.6    −18.4    −11.5    −13.1  

 JJA  1  2.0  1.7  1.0  6.1  7.1  4.7  3.9  3.4  2.8  2.6 

 2  0.8  0.5  0.2  3.4  2.8  2.9  2.1  1.4  1.3  1.4 

 3  −1.7  −0.2  −0.1  −2.8  −0.9  −2.2  −1.3  −1.3  −2.4  −1.8 

 Mean   5.3    5.9    3.2    15.2    5.3    12.6    6.7    4.4    10.1    6.3  

 SON  1  −3.7  −3.1  −12.4  −7.1  −15.4  −10.9  −6.6  −10.8  −12.4  −10.3 

 2  0.1  −0.7  −2.5  −1.5  −6.2  −3.5  −2.0  −2.6  −0.9  −0.9 

 3  3.0  0.3  1.6  1.2  3.6  4.1  1.5  5.8  3.6  2.1 

 Mean   −9.4    2.2    −1.4    1.2    −6.3    −9.7    −5.8    −12.0    −4.4    −5.5  

  Key:  DAN  Danmarkshavn;  JAN  Jan Mayen;  HOP  Hopen;  NAR  Naryan-Mar;  DIK  Ostrov Dikson; 
 CHO  Chokurdakh;  SHM  Mys Shmidta;  RES  Resolute A;  COR  Coral Harbour A;  CLY  Clyde A 
  a Data for the period 1955–1990 
  b Data for the period 1967–1990 
  c Data for the period 1953–1990, 1 – C < 2; 2 – 2 ≤ C ≤ 8; 3 – C > 8; Mean – mean seasonal  T  max   
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to 2 °C (see Table  4.2 ). In the cool half-year, the infl uence of cloudiness on  T  max  is 
opposite to that of summer i.e. an increased cloudiness leads to a warming of the 
Arctic. The positive anomalies of  T  max  on cloudy days are the highest in winter 
(above 4 °C) almost over the whole Arctic, except for the regions represented by the 
Jan Mayen and Mys Shmidta stations. It is noteworthy that most of the Arctic 
(excluding the Siberian region and the western part of the Atlantic region) has 
higher positive anomalies on cloudy days in spring than  in autumn  . On clear days, 
the highest negative anomalies occur in autumn, except for the Jan Mayen and 
Naryan-Mar stations. In the annual course, the lowest differentiated infl uence of 
cloudiness on  T  max  occurs at the turn of May/June and September/October, when the 
described relations between cloudiness and  T  max  change rapidly from one mode to 
another (see Figure 4 in Przybylak  1999 ).

   Generally speaking, the infl uence of cloudiness on  T  min  is roughly similar to that 
on  T  max , but there are also several important differences (compare Tables  4.2  and 
 4.3 ). One such difference is the opposite  infl uence of cloudiness   on  T  min  and on  T  max  
in summer in the Norwegian Arctic and in the southern Canadian Arctic. During this 
season  T  min  is higher on cloudy days than clear days (see Table  4.3 ). Moreover, posi-
tive anomalies of  T  min  in the rest of the Arctic are signifi cantly (2–3 or more times) 
lower than anomalies of  T  max  (compare Tables  4.2  and  4.3 ).

   In winter, the infl uence of cloudiness on both  T  max  and  T  min  is very similar, but 
negative anomalies on clear days are lower in most of the Arctic in the case of  T  min . 
In spring, the infl uence of cloudiness is signifi cantly greater on  T  min  than on  T  max . 

       Table 4.3    Mean seasonal anomalies of  T  min  (in °C) in the Arctic on clear (1), partly cloudy (2), and 
cloudy (3) days over the period 1951–1990 (after Przybylak  1999 )   

 Season  Element  DAN a   JAN  HOP  NAR b   DIK b   CHO b   SHM b   RES c   COR c   CLY c  

 DJF  1  −3.3  −5.2  −8.4  −12.9  −6.9  −3.9  −6.1  −2.5  −4.9  −3.9 

 2  −0.3  −1.3  −1.9  −5.5  −1.8  −1.1  −1.1  0.2  −0.3  −0.3 

 3  5.4  1.1  5.2  6.1  4.6  4.1  3.4  5.8  9.2  6.1 

 Mean   −27.1    −7.8    −15.9    −21.3    −28.5    −36.7    −28.2    −35.0    −32.3    −30.4  

 MAM  1  −3.7  −1.2  −8.8  −10.7  −9.1  −5.8  −8.9  −6.1  −7.5  −5.8 

 2  −0.2  −1.6  −2.4  −2.7  −4.0  −0.9  −2.1  −1.3  −1.4  −1.1 

 3  4.1  1.1  4.3  3.6  4.6  5.3  5.2  9.0  9.2  7.0 

 Mean   −19.7    −5.5    −12.3    −10.4    −19.8    −21.3    −20.0    −25.5    −21.2    −22.4  

 JJA  1  0.8  −0.7  −0.3  1.8  4.4  1.6  0.9  1.5  −0.2  0.3 

 2  0.0  −0.6  −0.3  1.1  1.1  0.9  0.5  0.3  0.0  0.0 

 3  −0.3  0.2  0.1  −0.9  −0.4  −0.7  −0.3  −0.3  0.0  −0.1 

 Mean   −0.3    2.2    0.1    6.4    0.9    3.7    0.9    −0.5    2.1    −0.4  

 SON  1  −4.2  −2.4  −13.0  −9.6  −15.1  −11.6  −8.9  −11.4  −12.5  −11.5 

 2  −0.3  −0.9  −3.1  −3.3  −7.4  −4.6  −4.0  −3.4  −2.2  −2.2 

 3  4.2  0.4  1.9  2.4  4.1  4.9  2.6  6.9  5.3  3.6 

 Mean   −15.6    −1.6    −5.1    −5.2    −11.3    −15.8    −11.3    −17.8    −11.5    −11.3  

  Key: Mean – mean seasonal  T  min ; other explanations as in Table  4.2   
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Negative (or positive) anomalies of  T  min  on clear (or cloudy) days are clearly greater 
than anomalies of  T  max . This means that an increase in cloudiness results in a much 
greater rise of  T  min  than  T  max  during this season. A similar situation is also present in 
autumn, although it is expressed slightly weaker than in spring. 

 Absolute minimum temperatures in the Arctic defi ned according to  Atlas Arktiki  
( 1985 ) occur on the  Greenland Ice Sheet  . Temperatures in the winter months 
(December–March) very often drop below −50 °C. The lowest measured tempera-
ture occurs in the Northice station (−66.1 °C, 9th Jan. 1954). Slightly higher tem-
peratures (−64.8 °C) were noted in Eismitte (20th March 1931) and Centrale (22nd 
Feb. 1950). Outside Greenland, the absolute temperatures below −50 °C occur over 
a large area of the Arctic characterised by the greatest degree of continentality 
(above 60–70 %, Fig.  4.2 ). The temperature drops below −50 °C in the belt stretch-
ing from the central part of the Russian Arctic through the North Pole to  the   north- 
eastern part of the Canadian Arctic (see Gorshkov  1980 , p. 44 or 45). Maxwell 
( 1980 ) reported that the absolute lowest temperature in the Canadian Arctic prior to 
1975 was recorded at Shepherd Bay (south of Boothia Peninsula) in February 1973 
(−57.8 °C). However, Sverdrup ( 1935 ) reported (see Table on p. K11) that in the 
area of Lady Franklin Bay (in the north-eastern part of Ellesmere Island) the lowest 
noted temperature reached −58.8 °C. The exact date when this temperature occurred 
is unknown (Sverdrup did not give such information), but analysing his Table 7 we 
can say that this temperature had to be noted during one of the following winters: 
1871/72, 1875/76, 1881/82/83, 1905/1906, or 1908/09. The temperature −58.8 °C is 
probably also the lowest temperature noted in the whole “lower” (without Greenland) 
Arctic. The absolute lowest temperature in the Northern Hemisphere, as we know, 
occurred in the Subarctic at Oimekon, where it reached −77.8 °C (Martyn  1985 ). In 
summer, the  absolute temperatures   < 0 °C occur over the entire Arctic. In the central 
Arctic, these temperatures range from −8 °C to −16 °C (Gorshkov  1980 ). In 
Greenland, they drop below −20 °C and in June and August even below −30 °C (see 
Putnins  1970 , his Table XVIII). 

 The absolute  maximum   temperatures occur in summer and show a clear depen-
dence on the latitude (see Gorshkov  1980 ). In the central Arctic, they are always 
below 10 °C, and in the Arctic islands, they rarely exceed 20 °C. The highest 
recorded temperatures occur in the continental southernmost parts of the Arctic 
(especially in the western parts of the Canadian and Russian Arctic), where they can 
even exceed 30 °C. The highest temperature in the continental part of the Canadian 
Arctic was recorded at Coppermine (30.6 °C) (Rae  1951 ). In the Canadian Arctic 
Archipelago, the  highest temperature   occurred at Cambridge Bay (28.9 °C, July 
1930). In the Russian Arctic, the absolute maximum temperatures can also exceed 
30 °C (Gorshkov  1980 ). In the coastal region, between 45°E and 60°E, the tempera-
ture is even higher than 32 °C. For example at  Naryan-Mar station  , the highest 
recorded temperature in 1967–1990 was equal to 33.9 °C (10 July 1990). In winter, 
the highest temperatures never reach freezing point in the most continental part of 
the Arctic stretching from the central part of the Siberian region, through the central 
Arctic, to the eastern and northern part of the Canadian Arctic (see Gorshkov  1980 ). 
On the Greenland Ice Sheet, they are very rarely higher than −10 °C. 

4 Air Temperature



97

4.2.1     Mean Seasonal and Annual Diurnal Temperature 
Ranges 

 The highest mean annual Diurnal Temperature Ranges (DTRs) above 8 °C occur 
over the continental parts of the Canadian and Russian Arctic which are located far 
from Atlantic and Pacifi c oceans (Fig.  4.10 ). The lowest DTRs (<5 °C) are noted in 
the Norwegian Arctic, particularly in those areas which are not covered by sea ice. 
The  region spreading   from the Norwegian Arctic to Alaska which encompasses 
almost all islands lying here (from Spitsbergen to Ostrov Vrangelya) has a slightly 
higher DTR (5–6 °C).

   Probably one of the main  factors causing   this is the very strong and changeable 
cyclonic activity occurring here which brings high cloudiness. Its infl uence in low-
ering the DTR is noted mainly in the warm half-year. The opposite is true for the 
cold half-year. As a result, in those regions mentioned, and some others which are 
also strongly infl uenced by the atmospheric circulation (the western and northern 

  Fig. 4.10    Spatial distribution of the mean annual diurnal temperature ranges (DTR, in °C) in the 
Arctic over the period 1951–1990 (After Przybylak  2000b ). Key –  dashed lines  denote probable 
course of the isolines       
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parts of the Russian Arctic and the western coastal parts of Greenland), the highest 
DTRs occur in winter (Fig.  4.11 ).

    In winter  , the highest DTRs are noted in the southern continental parts of the 
Arctic (>8 °C) and the lowest in the southern Norwegian Arctic as well as on the 
western coast of Greenland (Fig.  4.11 ). In the central Arctic, the DTR is equal to 
about 7 °C. 

  In spring  , the differentiation of the DTR is signifi cantly higher than in winter and 
reaches more than 7 °C (in winter only 4 °C).  Th  e highest values (>9 °C) occur in 
the centre of the southernmost parts of the Canadian and Russian Arctic (character-
ised by the greatest degree of continentality of climate in the Arctic; see Fig.  4.2 ) 
and the lowest, similar to those of winter, in the Norwegian Arctic and on the west-
ern coast of Greenland (<6 °C). 

  In summer, the mean   DTRs are lower than in spring but the differences between 
the highest (>10 °C) and lowest (<3 °C) values are the same. In this season, an 
exceptionally low DTR is present in the Norwegian Arctic and the north-western 
part of the Russian Arctic (Fig.  4.11 ) where it drops below 3–4 °C. 

  In autumn,   the differentiation of the mean DTR in the Arctic decreases (4–5 °C). 
Again, as in other seasons, the highest DTRs are in the centre of the southernmost 

  Fig. 4.11    Same as Fig.  4.10 , but for winter (DJF), spring (MAM), summer (JJA), and autumn 
(SON) (After Przybylak  2000b )       
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parts of the Canadian (>8 °C) and Russian (>6 °C) Arctic and the lowest are in the 
Norwegian Arctic (<4 °C) (Fig.  4.11 ). 

 The  annual course of the   DTR is particularly interesting. Based on the seasonal 
means, it is possible to distinguish four types of the annual course of this variable in 
the Arctic (Fig.  4.12 ):

     1.    Maximum DTR in winter and minimum in summer   
   2.    Maximum DTR in spring and minimum in autumn   
   3.    Maximum DTR in winter and minimum in autumn   
   4.    Maximum DTR in summer and minimum in autumn    

  The fi rst two types clearly dominate in the Arctic. Out of 33 analysed stations, 
the fi rst type occurred in 14 stations (42.4 %) and the second in 11 stations (33.3 %). 
The third and fourth types were present in four (12.1 %) and three (9.1 %) stations, 
respectively. Only the DTR in the  station Eureka   has another pattern. The maximum 
DTR in winter and minimum in summer occur mostly in the Norwegian Arctic as 

  Fig. 4.12    Annual courses of the DTR in the Arctic based on their seasonal means from the period 
1951–1990 (after Przybylak  2000b ). Key:  1  – maximum of the DTR in winter and minimum in 
summer,  2  – maximum of the DTR in spring and minimum in autumn,  3  – maximum of the DTR 
in winter and minimum in autumn,  4  – maximum of the DTR in summer and minimum in autumn       
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well as in the western and northern parts of Russian Arctic, and the northern part of 
the Canadian Arctic. This pattern is probably also present in the central Arctic. It is 
worth mentioning that these areas are either under the very intense infl uence of the 
 atmospheric circulation   (great frequency of cyclones) or are situated around the 
North Pole, where the daily contrast of the incoming radiation is the lowest in the 
Arctic and cyclonic activity, although weaker, is however still present (see Serreze 
and Barry  1988  or Serreze et al.  1993 ). The second type in the  annual course   of the 
DTR (the highest values in spring and the lowest in autumn), which is almost as 
frequent as the fi rst, occurs in the parts of the Arctic where cyclonic activity is weak 
and the daily contrast of the solar forcing is the highest (southern parts of the 
Canadian and Russian Arctic, northern Alaska and in some parts of Greenland). 
Ohmura ( 1984 ) presents a more detailed explanation of the causes of this kind of 
annual course of the DTR based on investigations of heat balance conducted on 
Axel Heiberg Island (Canadian Arctic) in the summers of 1969 and 1970. This type 
in scientifi c literature is known as the  “Fram” type  . The occurrence of the third and 
fourth types in stations located in different isolated parts of the Arctic can be related 
to the specifi c local conditions (radiation and atmospheric circulation). 

 According to the monthly means of the DTR, the highest values most often 
occurred in April (63.6 % of the stations) or February (18.2 %) and the lowest in 
September (62.1 %) or October (16.7 %) (Przybylak  2000b ). 

4.2.1.1     Diurnal Temperature Ranges and Cloudiness 

 Based on the results presented in Sect.   4.2    , the general pattern of infl uence of cloud-
iness on  T  max  and  T  min  seems to be quite similar. However, the existing differences in 
magnitudes of this infl uence (expressed by anomalies) are signifi cant during some 
seasons and should cause appropriate changes of the DTR in the case of increasing 
or decreasing trends in cloudiness in the Arctic. 

 The infl uence of  cloudiness   on DTR is presented in Table  4.4  and Fig.  4.13 . 
These data clearly show that, on an annual basis, increased cloudiness leads to a 
decrease in DTR. This infl uence is at its highest in summer, then in spring and also 
in autumn, except for the region of Jan Mayen. In winter, the situation is much more 
complicated because the highest positive anomalies of the DTR occur on partly 
cloudy days in the whole Arctic. A further increase of cloudiness leads to a decrease 
in DTR.    Slightly positive anomalies of the DTR occur also in some parts of the 
Arctic, both on clear days (Danmarkshavn and Mys Shmidta) and cloudy days 
(Ostrov Dikson and Chokurdakh). It is noteworthy that in the  parts   of the Arctic 
where cyclonic activity prevailed (Atlantic, Pacifi c, and Baffi n Bay regions), the 
anomalies of the DTR on cloudy days were lower than on clear days (see Table  4.4  
and Fig.  4.13 ).

    An opposite relation occurs in the Siberian and Canadian regions (with prevail-
ing anticyclones) where radiation plays a signifi cantly greater role than in the previ-
ously mentioned regions. On cloudy days (Tables  4.2  and  4.3 ), the anomalies of  T  max  
and  T  min  are nearly the same, but on clear days negative anomalies of  T  max  are 
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 signifi cantly greater. In the regions where a great number of clouds are transported 
together with warm and humid air masses from the lower latitudes by a synoptic-
scale cyclonic activity, the infl uence of cloudiness on  T  max  and  T  min  is different, 
mainly on cloudy days (opposite to the situation in the Canadian and Siberian 
regions). This is a consequence of the very similar infl uence of advection of warm 
air masses on  T  max  and  T  min . On the other hand, high cloudiness connected with this 
advection reduces the loss of the long-wave outgoing radiation to space. This radia-
tion fl ux is relatively more important during the night than during the day, and the 
resulting positive anomalies of  T  min  are higher than  T  max  (see Tables  4.2  and  4.3 ).    

4.3     Temperature Inversions 

 Surface-based temperature inversions in the troposphere are one of the main   features   
of the Arctic climate, particularly in the low-sun (or no-sun) periods. This differs 
from normal tropospheric conditions, in which temperature decreases with height 
from the surface. Because of the very high frequency of the temperature inversions 
in the Arctic in the annual march, the term “ semi-permanent inversion  ” is often 
used. Outside the Polar regions, the semi-permanent inversions occur only in the 
subtropical belt. In the latter areas, however, the inversions are solely dynamic and 
are separated from the surface by a highly unstable layer. The polar inversions are 
generally caused by the negative net radiation balance at the surface. The presence 

     Table 4.4     Mean seasonal anomalies of DTR (in °C) in the Arctic on clear (1), partly cloudy (2), 
and cloudy (3) days over the period 1951–1990 (After Przybylak  1999 )   

 Season  Element  DAN a   JAN  HOP  NAR b   DIK b   CHO b   SHM b   RES c   COR c   CLY c  

 DJF  1  0.2  0.0  −1.7  −1.2  −1.5  −0.8  0.3  −0.7  −1.4  −0.5 

 2  0.3  0.2  0.4  1.7  0.2  0.6  0.8  0.3  0.6  0.5 

 3  −0.8  −0.2  −0.1  −1.3  0.2  0.1  −0.8  −0.1  −0.3  −1.3 

 Mean   8.6    5.2    6.7    8.9    7.1    7.0    7.0    7.2    8.3    7.8  

 MAM  1  1.3  1.0  0.0  3.5  0.3  1.2  2.8  0.4  1.5  1.1 

 2  0.3  0.5  0.6  1.8  0.5  0.5  1.1  0.3  0.8  0.7 

 3  −1.9  −0.3  −0.5  −1.9  −0.5  −1.7  −2.1  −1.3  −2.9  −2.6 

 Mean   8.0    4.5    5.6    8.5    6.9    8.6    7.4    7.1    9.7    9.3  

 JJA  1  1.3  2.3  1.2  4.3  2.8  3.1  3.0  1.9  3.1  2.3 

 2  0.8  1.0  0.5  2.3  1.7  2.0  1.6  1.1  1.3  1.4 

 3  −1.4  −0.4  −0.2  −1.8  −0.4  −1.5  −1.0  −0.9  −2.4  −1.7 

 Mean   5.6    3.7    3.1    8.8    4.4    8.9    5.8    4.9    8.0    6.7  

 SON  1  0.5  −0.7  0.6  2.4  −0.2  0.7  2.1  0.6  0.2  1.2 

 2  0.4  0.2  0.6  1.8  1.2  1.1  1.9  0.9  1.3  1.5 

 3  −0.8  0.0  −0.3  −1.2  −0.5  −0.7  −1.2  −1.1  −1.7  −1.5 

 Mean   6.2    3.8    3.7    6.4    5.0    6.1    5.5    5.8    7.1    5.8  

  Key: Mean – mean seasonal DTR; other explanations as in Table  4.2   
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  Fig. 4.13    Mean annual courses of the DTR on clear (1), partly cloudy (2), and cloudy (3) days at 
10 Arctic stations representing the majority of the climatic regions and subregions after  Atlas 
Arktiki  ( 1985 ) (After Przybylak  1999 )         
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of the Arctic temperature inversions is closely related to the snow and ice surfaces 
dominant in the area studied. However, in the Arctic, there are also upper tropo-
spheric inversions, which are a result either of subsidence of the air in anticyclones 
or of a warm air advection over underlying cold air masses. One can agree with the 
view expressed by Vowinckel and Orvig ( 1970 ) that the Arctic inversions are a sig-
nifi cantly more complex phenomenon than the subtropical type. They distinguished 
three categories of temperature inversions in the Arctic: surface, subsidence, and 
advection. The latter two can occur at any height and are characterised by signifi -
cantly smaller gradients. 

 Investigations of the  thermal structure   of the troposphere in the Arctic began at 
the beginning of the twentieth century. In 1906, balloon investigation of the upper 
levels was sponsored by the Prince of Monaco (Hergessell  1906 ). Belmont ( 1958 ) 
gave an excellent review of the history of investigations of the thermal structure of 
the troposphere in the Arctic carried out up to about 1957. Thus, there is no need to 
reiterate this information. Of the more important works which appeared in the 1960s 
and 1970s, one should mention Dolgin  1962 ; Gaigerov  1964 ; Stepanova  1965 ; 
Vowinckel  1965 ; Billeo  1966 ; Vowinckel and Orvig  1967 ,  1970 ; Dolgin and 
Gavrilova  1974 . In the 1980s and especially in the 1990s and later investigations of 
the Arctic were intensifi ed (Maxwell  1982 ; Kahl  1990 ; Nagurnyi et al.  1991 ; 
Timerev and Egorova  1991 ; Bradley et al.  1992 ; Kahl et al.  1992a ,  b ; Serreze et al. 
 1992 ; Zaitseva et al.  1996 ; Serreze and Barry  2005 ; Tjernström and Graversen 
 2009 ; Bourne et al.  2010 ; Devasthale et al.  2010 ; Zhang and Seidel  2011 ; Zhang 

Fig. 4.13 (continued)
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et al.  2011 ). These efforts were undertaken in order to establish and describe the 
climatology of the temperature inversion. Such knowledge allows researchers to 
ascertain whether there have been changes in recent years when global warming and 
greenhouse gas build-up is present. 

 The  characteristics   of Arctic temperature inversions are presented here mainly 
according to the results published by Zaitseva et al. ( 1996 ). They analysed radio-
sonde data on air temperature (from surface to 3–5 km) over the western Arctic 
Ocean, which were made during the U.S. Air Force Ptarmigan weather reconnais-
sance missions (1950–1961) and at the Soviet North Pole drifting stations (1950–
1954). For more detailed investigation, they have chosen two areas representing 
 contrasting conditions  : one situated near the North Pole (1079 soundings) and sec-
ond in the Beaufort Sea (2040 soundings). The results of inversion frequency, height 
of inversion base, inversion thickness, and temperature difference across inversion 
are presented in Fig.  4.14 . It can be seen from this fi gure that temperature inversion 
occurs with a very high frequency (93 %). As would be expected, the highest inver-
sion  frequency   occurs in winter (98–99 %). For clarity, seasons are defi ned nor-
mally (December–February, March–May, etc.), not as has been done by Zaitseva 
et al. ( 1996 ) and for the characteristics of mean conditions median values were 
used. Most winter inversions (about 75 %) begin at the surface. In the Western 

  Fig. 4.14    Monthly frequencies of ( a ,  b ) inversion, ( c ,  d ) cumulative frequency distribution of the 
height of the inversion base, ( e ,  f ) its thickness, and ( g ,  h ) temperature difference across the inver-
sion for the North Pole ( a ,  c ,  e ,  g ) and the Beaufort Sea ( b ,  d ,  f ,  h ) sectors of the Arctic (After 
Zaitseva et al.  1996 ). Heights of the wide and narrow parts of the bars in Figures a and b denote the 
frequency of occurrence of surface-based and upper tropospheric inversions, respectively. The 
combined height of bars is equal to the total inversion frequency       
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Arctic, they are most common in February (100 %). Zaitseva et al. ( 1996 ) did not 
fi nd any signifi cant regional differences in winter inversion frequency. This is prob-
ably connected with similar weather and surface conditions. The change from win-
ter to spring conditions is very abrupt in the April–May period (similar results were 
obtained by Vowinckel and Orvig  1967 ). The frequency of surface-based inversions 
in May decreased to about 45 % and 36 % near the North Pole and the Beaufort Sea, 
respectively.

    In summer  , the lowest total frequency of inversions (88 %), but the highest fre-
quency of the upper inversions (52 %) is observed (see Fig.  4.14a, b ). A signifi cant 
part of surface-based inversion during this period is connected with the loss of energy 
used for the melting of snow and ice. In some stations, the secondary maximum of 
surface-based inversions can be seen (see Figure 4 in Bradley et al.  1992 ). The sum-
mertime minimum of surface-based inversions (36 %) is, according to Zaitseva et al. 
( 1996 ), connected with the highest cyclonic activity at that period, which causes an 
intense mixing of the lower atmosphere and results in high cloudiness. In the annual 
march, the lowest frequency of surface-based temperature inversions occurs in 
August near the North Pole and in September in the Beaufort Sea, i.e., during the 
periods occurring just after the end of the summer melting. These results are gener-
ally in line with those published by Bradley et al. ( 1992 ) and more recently by Zhang 
et al. ( 2011 ). However, in the 1950s, inversions were more frequent in spring than in 
autumn (see Fig.  4.14 .), while in the period 1990–2009, the opposite relationship was 
observed (see Figure 4 in Zhang et al.  2011 ). Zhang et al. ( 2011 ) checked the reli-
ability of climatic models’ projections in simulating surface- based inversions, and 
whether reanalysis data can be used for describing these inversions. They stated that: 
“The  dominant seasonal patterns   of SBI (surface-based inversion – author suppl.) 
properties derived from the models and reanalysis are similar to the observational 
results (Figures 8 and S7) – all show more frequent, deeper, and stronger SBIs in 
winter and autumn. However, there are notable differences in magnitudes.” 

 The height of the inversion base (Fig.  4.14c, d ) is lowest during the winter 
(surface- based) and highest in summer near  the   North Pole (up to about 600 m). In 
the Beaufort Sea, the maxima of the inversion base are observed in May (up to 600 
m) and in September (up to 650 m). In summer, due to melting, a signifi cant drop of 
the inversion base can be seen. It reaches an average level of about 125 m. The 
inversion base returns to the surface in October (the Beaufort Sea) and in November 
(near the Pole). 

 The average thickness of the inversion near the North Pole is about 100 m higher 
(900 m) than in the  Beaufort Sea   (about 800 m). In both areas, the maximum thick-
ness very often exceeds 1200 m and more rarely 1600 m. On particular days, how-
ever, the inversion depth can even reach more than 3000 m (see Table 5 in Bradley 
et al.  1992 ). The greatest average thickness of inversion is noted near the Pole in 
February and December, and in the Beaufort Sea, in January. In the latter area, the 
inversion depth in December and February is only slightly lower. In spring, as a 
surface mixing layer forms in response to increased solar radiation and extensive 
cloud cover, the lower parts of inversion layers are destroyed. As a result, a signifi -
cant decrease of the inversion depth is noted. The mean inversion thickness near the 
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Pole is at its lowest in summer and autumn and slightly exceeds 400 m. In  the 
Beaufort Sea  , the situation is very similar when mean seasonal conditions are taken 
into account, but signifi cantly a lower inversion depth occurs in two autumn 
months – September and October. Bradley et al. ( 1992 ) have obtained the same 
results for Barter Island and Point Barrow stations. Of course, melting processes, 
which increase the inversion thickness in summer, cause this situation. An abrupt 
rise of the inversion thickness is noted from November to December (near the Pole) 
and a month earlier in the Beaufort Sea (see Fig.  4.14e, f ). 

 Temperature changes across the inversion layer (called  inversion intensity   or 
strength) are highly correlated with inversion thickness and inversely related to sur-
face temperature (see Figures 6 and 7 in Bradley et al.  1992 ). As can be seen from 
Fig.  4.14g, h , the inversions are strongest in winter months when surface tempera-
tures are the lowest. The average temperature difference at this time oscillates 
between 7 °C and 8 °C. The highest noted values (>15 °C) occur in both areas in 
February. On particular days, the temperature across the inversion can signifi cantly 
exceed 30 °C (see Table 5 in Bradley et al.  1992 ). For example, on Barter Island on 
January 25, 1983, it reached 35.7 °C (6.7 °C/100 m). Such a situation most often 
occurs when lower tropospheric warming due to a subsidence (upper inversion) 
merges with the strong surface-based radiation inversion. The intensity of inversion 
signifi cantly decreases in April and May. Near the North Pole, the weakest inver-
sions (about 3–4 °C) occur in the period June–September. Then a gradual increase 
of intensity towards the winter maximum is observed. On the other hand, in the 
Beaufort Sea, a relative fl at minimum (3–4 °C) occurs from May to October. The 
mean monthly differences across the inversion in the mentioned periods very rarely 
exceed 8 °C. 

 It has been shown that the surface-based inversions are most frequent and intensive 
during clear sky periods in winter. In turn, the upper inversions show an opposite pat-
tern; they are most pronounced in summer and are connected with great amounts of 
cloud. The  intensity and thickness   of the upper inversions are considerably less: 
1.2 °C and 0.5–0.9 km on average (Vowinckel and Orvig  1970 ). The mean duration of 
this inversion is also signifi cantly lower in the cold half-year, but greater in summer. 

 The  lowest frequency   of surface-based inversions in the Arctic occur in the 
southernmost part of the Atlantic region, oscillating between 20 and 30 % in January 
and between 30 and 40 % in July (see Figure 30 in Dolgin and Gavrilova  1974 ). 
Thus the annual cycle of frequency inversions occurring in other parts of the Arctic 
is reversed in this area. This is connected with the strong cyclonic activity which is 
common here as well as with the character of the surface (open, relatively warm 
water). Dolgin and Gavrilova ( 1974 ) showed that the distribution of surface-based 
inversion closely correlates with the mean conditions of atmospheric air pressure 
and the characteristics of the surface. The  highest   inversion frequency in the Arctic 
occurs in the areas where anticyclones and snow and pack-ice dominate. On the 
other hand, both frequent cyclone occurrence and a surface not covered by snow and 
sea ice signifi cantly reduce the inversion frequency. However, we must add that the 
inversions are not only characteristic features in anticyclone systems, but in cyclones 
as well. The mean annual frequency of inversions in cyclones was found to be 69 % 
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(Dolgin  1960 ; Gaigerov  1962 ). In the northern sections of the cyclones, the fre-
quency of inversions was greater than in the southern parts.     
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    Chapter 5   
 Cloudiness       

               Our knowledge concerning cloudiness in the Arctic until 1990 has been estimated 
as remarkably weak (see e.g. Raatz  1981 ; Barry et al.  1987  and Serreze and Rehder 
 1990 ). However, in the last 20–25 years, signifi cant progress has been made in this 
respect, although our level of knowledge is still not satisfactory and is far from 
complete (see, for example, Wang and Key  2003 ,  2005a ,  b ; Gorodetskaya et al. 
 2008 ; Walsh et al.  2009 ; Eastman and Warren  2010a ,  b ; Chernokulsky and Mokhov 
 2012 ; Liu et al.  2012a ,  b ; Probst et al.  2012 ; Zygmuntowska et al.  2012 ). 

 Of the existing 15 distinct global cloud climatologies reviewed by Hughes 
( 1984 ), only two (Scherr et al.  1968  and Berlyand and Strokina  1980 ) provide infor-
mation about both poles while a further four have information for only one or other 
of the poles. In the second half of the 1980s and at the beginning of the 1990s, four 
new cloud climatologies became available; one based on surface observations 
(Warren et al.  1986 ,  1988 ) and three based on satellite radiation measurements 
(METEOR – Matveev and Titov  1985 ; Aristova and Gruza  1987 ; Mokhov and 
Schlesinger  1993 ,  1994 ; NIMBUS-7 – Stowe et al.  1988 ,  1989 ; ISCCP – Rossow 
and Schiffer  1991 ; Rossow and Garder  1992 ). Rossow ( 1992 ) comments that these 
climatologies are in excellent agreement on the geographic and seasonal cloud 
amount variations, and even on total cloud amounts (except for one), everywhere 
except in the Polar regions. Here large differences occur both in the average geo-
graphical distribution of cloud amounts and in their annual march. Moreover, 
McGuffi e et al. ( 1988 ) report that “none of the existing global cloud climatologies 
provides comprehensive information for the Polar regions”. Moreover, usually the 
scale and projection of maps do not allow results to be presented in suffi cient detail. 

 In the 1990s, and particularly in the last 15 years, quite a large number of papers 
relating to cloudiness in the Arctic were published. The majority of them use 
 satellite- derived radiation measurements   to estimate cloudiness. Recently, more and 
more popular new sources of data, i.e. reanalyses data as well as climatic models, 
have also been used for this purpose (Gorodetskaya et al.  2008 ; Walsh et al.  2009 ; 
Chernokulsky and Mokhov  2012 ; Probst et al.  2012 ; Zygmuntowska et al.  2012 ). 
Two groups of works can be distinguished: (1) those presenting possible analysis 
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methods ( manual methods   and those using  computer-based automatic algorithms  ) 
of cloud characteristics (Key and Barry  1989 ; Dutton et al.  1991 ; Carsey  1992 ; 
Curry and Ebert  1992 ; Key and Haefl iger  1992 ; Robinson et al.  1992 ; Serreze et al. 
 1992 ; Francis  1994 ; Hahn et al.  1995 ; Hahn and Warren  1999 ; Schupe and Intrieri 
 2004 ; Palm et al.  2010 ; Liu et al.  2012a ,  b ), and (2) those presenting satellite-based 
as well as reanalyses- and model-based cloud climatologies and their comparisons 
with surface climatologies (e.g. Barry et al.  1987 ; Kukla and Robinson  1988 ; 
McGuffi e et al.  1988 ; Serreze and Rehder  1990 ; Rossow  1992 ,  1995 ; Schweiger 
and Key  1992 ; Wang and Key  2003 ,  2005a ,  b ; Vavrus  2004 ; Gorodetskaya et al. 
 2008 ; Walsh et al.  2009 ; Eastman and Warren  2010a ,  b ; Chernokulsky and Mokhov 
 2012 ; Liu et al.  2012a ,  b ; Probst et al.  2012 ; Zygmuntowska et al.  2012 ). One should 
add here that the satellite-derived cloud climatologies which are presently available 
still have some important weaknesses: they are incomplete, particularly in terms of 
spatial coverage (Liu et al.  2012a ), and their reliability is often questionable as a 
result of cloud-detection problems. These mainly concern the  passive measuring 
techniques  , which give limited contrast between the cloud and the underlying sur-
face, notable mainly during the polar night. In addition, these kinds of instruments 
are not sensitive to optically thin clouds (Liu et al.  2012a ). The common presence 
of  low-troposphere temperature inversions   in the Arctic also has a negative infl u-
ence on satellite observations of clouds (Chernokulsky and Mokhov  2012 ), as well 
as the fact that satellites mainly detect the tops of clouds. These weaknesses are 
overcome by the use of new methods of satellite observation based on combined 
 lidar and radar measurements   (for details see Liu et al.  2012a ). Even so, series of 
such observations are still too short for climatological purposes (Chernokulsky and 
Mokhov  2012 ), and there also exist other disadvantages of this technique, even in 
comparison to passive satellite observation. Palm et al. ( 2010 ) cite limited spatial 
coverage as the main disadvantage of this kind of measurement of clouds character-
istics in the Arctic. On the other hand, Liu et al. ( 2012a ) estimated that it still gives 
a “relatively high spatial resolution” in determining Arctic cloud amounts. 
Zygmuntowska et al. ( 2012 ) emphasise that two new active satellites launched in 
2007 also have other kinds of limitations than those mentioned above. These include 
the fact that use of  CloudSat      (cloud radar) in the detection of optically thin clouds 
and retrievals of clouds is hampered by ground clutter at levels near the surface, and 
that  CALIPSO   (lidar) is attenuated if exposed to scenes with optically thick clouds. 

 Intercomparative studies of satellite-derived and surface-based cloud climatolo-
gies have shown signifi cant differences in the results obtained (e.g., McGuffi e et al. 
 1988 ; Rossow  1992 ; Schweiger and Key  1992 ). Schweiger and Key ( 1992 ) found 
that satellite-derived estimates of cloud amounts are generally 5–35 % lower than 
had been indicated by surface observations over the entire Arctic, and regional dif-
ferences may reach up to 45 %. In the annual march, these differences are 2–3 times 
greater from May to October than they are in winter. These authors concluded that 
at present it is not possible to determine which cloud climatology is ‘correct’. 
Although more than 20 years have passed since this statement, and despite the fact 
that we have more and longer series of observations, we still cannot reliably answer 
this question. In a recent review paper, Chernokulsky and Mokhov ( 2012 ) wrote: 
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“At present, it is hard to distinguish the best observational dataset for the Arctic 
cloudiness.” In comparison to the statements of Schweiger and Key ( 1992 ), recent 
satellite data are closer to surface observations of cloudiness and show both greater 
and lower values (see Figure 2 in Chernokulsky and Mokhov  2012 ).   Coeffi cients of 
spatial correlation between surface data and satellite data varies from 0.5 to 0.7 for 
the annual mean of  total cloud fraction (TCF)     . In addition, almost all satellite-based 
data correctly captures the annual march of TCF, with the exception of the 
 International Satellite Cloud Climatology Project’s (ISCCP)   product (Chernokulsky 
and Mokhov  2012 ). It is also worth adding here that current satellite estimations of 
TCF evidently show that the greatest differences in comparison to surface observa-
tions are occurring in wintertime – the opposite of the fi ndings presented by 
Schweiger and Key ( 1992 ). 

 TCFs averaging for the entire Arctic, calculated based on reanalyses data, are 
signifi cantly worse than those obtained based on satellite data, and in particular 
surface-based products (see Figure 2 in Chernokulsky and Mokhov  2012 ). 
Differences in monthly means in comparison to surface data even reach up to 30 % 
and are particularly larger in winter. For more details, see also the Walsh et al. 
( 2009 ) paper, which presents results for four different reanalyses. 21 climate models 
used for TFC calculations across the entire globe and for particular parts of it, also 
showed generally poor results (in particular for the tropics and polar regions), and 
signifi cantly underestimate TCF values in comparison to observations from both 
surface stations and satellites (for details see Probst et al.  2012 ). Annual values of 
TFC for the Earth obtained from models varied from 47 % to 73 % versus about 
67 % from observations (ISCCP D2). Validation of climate models for estimating 
TFC and other cloud characteristics for the Arctic have been studied by, for exam-
ple, Vavrus ( 2004 ) and Gorodetskaya et al. ( 2008 ).   

 Certainly, state of our knowledge concerning cloudiness in the Arctic described 
above is very unfavourable and requires extensive further investigation in the near 
future, because:

 –    Polar regions are considered to be of great importance for the global climate (see 
e.g.,  The Polar Group  1980  or  Arctic Climate System Study  1994 ).  

 –    Cloud cover   is a major component of the Arctic climate system through its infl u-
ence on both energy and moisture exchange between the elements of the system, 
i.e. atmosphere, ocean, cryosphere, biosphere, and litosphere.    

 From the above review, it seems that the climatologies, mainly based on surface 
observations, are still the best source of information (Vowinckel  1962 ; Huschke 
 1969 ; Vowinckel and Orvig  1970 ; Gorshkov  1980 ; Hahn et al.  1995 ; Hahn and 
Warren  1999 ; Eastman and Warren  2010a ,  b ). They show a broad agreement over 
much of the Arctic in regard to the seasonal cycle of total cloud amount. However, 
there are some disagreements in the geographical distribution of cloud cover, par-
ticularly in the case of low cloud in winter (McGuffi e et al.  1988 ). Crane and Barry 
( 1984 ) also found signifi cant differences in the mean values of cloudiness presented 
in the older climatologies. These differences are probably connected with the differ-
ent data sets used (a denser or sparser network of stations, longer or shorter periods 
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of observations). For example, a short period of observations can signifi cantly 
obscure results, especially those of winter cloud climatologies because of diffi cul-
ties observing clouds (in particular thin) with little sky illumination (see e.g., 
Schneider et al.  1989 ; Hahn et al.  1995 ; Eastman and Warren  2010b ). Recent sur-
face observations of clouds still have some disadvantages, mainly caused by the 
sparseness of the number of observations, particularly over remote parts of the 
Arctic Ocean, and especially during the dark season (see Figure 2 in Eastman and 
Warren  2010b ). Ground-based observations also more reliably estimate low-clouds 
than middle- and upper-clouds, in particular when the latter two are obscured by 
low-clouds (Chernokulsky and Mokhov  2012 ). 

5.1     The  Annual Cycle   

  Variations of cloud amount in the annual march in different parts of the Arctic are 
very similar and rather straightforward. Analysing them allows us to distinguish 
three states: winter, summer, and transitional (spring and autumn) (see Fig.  5.1 ). In 
cold half-year (from November to April), the mean total cloud amounts are clearly at 
their lowest and oscillate between 40 % and 60 %. In May an abrupt increase in 
cloudiness is observed, especially outside the Canadian Arctic. The highest cloudi-
ness in the Arctic occurs from June to October (about 80–90 %). The autumn 
decrease of cloudiness is even faster than the spring increase. As can be seen from 
Fig.  5.2 , the spring transition and high summer cloudiness are entirely accounted for 
by low clouds in all regions. Middle cloudiness does not show great changes in the 

  Fig. 5.1    Mean  monthly   total cloud amounts (After Huschke  1969 ).  1  – West Eurasian Arctic,  2  – 
East Eurasian Arctic,  3  – Canadian Arctic,  4  – Central Arctic       
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annual cycle, while high cloudiness is clearly at a minimum in the summer. Interesting 
maxima of middle and high cloudiness occur in October, which according to Huschke 
( 1969 ) corresponds very well to the high degree of cyclonic activity over the Arctic 
during that month. Middle cloudiness also shows a small maximum in spring.

    The mean annual marches of cloudiness presented here after Huschke ( 1969 ) do 
not indicate the existence of the three types distinguished by Vowinckel ( 1962 ). 
However, when we take into account data from individual stations rather than 

  Fig. 5.2    Mean  monthly      high-cloud ( a ), middle-cloud ( b ), and low-cloud ( c ) amounts in selected 
regions of the Arctic (After Huschke  1969 ). Key as in Fig.  5.1        
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 areally averaged data, we fi nd at least two of Vowinckel’s types. The third type (East 
Siberian) is characteristic of eastern Siberia, which lies outside the area defi ned as 
the Arctic in the present work. The present author would propose a change in 
Vowinckel’s terminology (Norwegian-Sea and Polar-Ocean) to oceanic and conti-
nental, respectively. The oceanic type (Fig.  5.3 ) occurs mainly in the Arctic with the 
lowest degree of climate continentality (mainly the southern and central parts of the 
Atlantic region and the southern part of the Baffi n Bay region). The continental type 
is most common in the Arctic and probably therefore Huschke’s ( 1969 ) areally aver-
age annual courses from different regions, described earlier, can be classifi ed as this 
type. The oceanic type is characterised by high cloudiness throughout the year, with 
a slight maximum in summer (Fig.  5.3 ). It is worth noting that even in this area, 
which is so clearly governed by moving cyclones from the Southwest, maximum 
cloudiness is observed in summer when the cyclone frequency is lower than in 
autumn and winter .

5.2        Spatial Patterns 

 In Januar y, representing  winter conditions  , the spatial distribution of cloudiness 
shows greater variation than in summer. The zone with highest cloudiness (>80 %) 
spreads from the Norwegian Sea to Novaya Zemlya, covering a large part of the 
Barents Sea and even the southern part of Spitsbergen (Fig.  5.4 ). Cloudiness above 
60 % occurs in the whole Atlantic region and in the south-eastern part of the Baffi n 
Bay region. The lowest cloudiness (<40 %) includes the belt spreading from the 
central part of the Siberian region through the North Pole to Greenland and the 
eastern part of the Canadian Arctic. In this area, the absolute minimum occurs over 
the plateau of the Greenland Ice Sheet and in the Arctic Ocean from the Siberian 
side (Fig.  5.4 ). In Arctic areas with the highest winter cloudiness on the one hand, 
as well as in the Arctic Ocean from the Canadian and Greenland side on the other 

  Fig. 5.3    Mean  monthly   total cloud amounts in the Atlantic region of the Arctic, 1951–1998       
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  Fig. 5.4    Spatial distributions of  mean monthly   (January and July) total cloud amounts (in %) in 
the Arctic (After Vowinckel  1962 )       
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hand, the low clouds dominate. In the rest of the Arctic, the middle and high clouds 
are more common (see Vowinckel  1962  or Vowinckel and Orvig   1970 ).

   From January to July, the most dramatic change in cloudiness (from 35 % to 
more than 90 %) occurs in the central part of the Arctic Ocean (Fig.  5.4 ).  Very high 
cloudiness   (even greater than in winter) is still observed in the Atlantic region. The 
cloudiness between the northern part of Norway and Greenland, similar to that of 
the central Arctic, exceeds 90 %. A likely reason for this may be the fact that a slight 
reduction in cloudiness connected with only slightly lower cyclonic activity can be 
fully compensated for by more cloudy air masses infl owing from the Arctic Ocean 
in this season than in winter. The  lowest cloudiness   (<60 %) occurs on the Greenland 
Ice Sheet, with a minimum in its north-eastern part (<50 %). 

 The numbers of  clear   (0–3° in 0–10 scale) and cloudy (7–10°) days in the sea 
area of the Arctic for February and August are shown in Fig.  5.5 . There are a signifi -
cantly greater number of clear days in wintertime. In February, there is a clear day 
every other day over most of the Arctic Ocean (Fig.  5.5c ). The largest number of 
clear days occurs in the south-western part of the Canadian Arctic Archipelago 

   Fig. 5.5      Frequency of occurrence   (in %) of cloudy sky (7–10 tenths) and clear sky (0–3 tenths) 
days in February ( a  and  c , respectively) and in August ( b  and  d , respectively) in the Arctic (After 
Gorshkov  1980 )       
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(>60 %). The clear days are a very rare phenomenon (<10–20 %) in most parts of 
the Atlantic region and in the southern part of the Baffi n Bay region, i.e., in the areas 
strongly infl uenced by vigorous cyclonic activity. In summer (August), sunny 
weather occurs very rarely (Fig.  5.5d ). In most areas, there is a chance of less than 
10 % frequency. Only on coastal areas of Greenland and Ellesmere Island can clear 
days occur with a 20–30 % frequency.

    Cloudy days   in summer occur with greater frequency than in winter over almost 
the entire Arctic (compare Fig.  5.5a, b ). The large difference can be seen mainly in 
the part of the Arctic with a high degree of climate continentality. Cloudy days are 
almost constant (>90 %) in the central part of the Arctic Ocean and between 
Spitsbergen, Björnöya, and Jan Mayen. In the rest of the Arctic (excluding the 
waters near Greenland, Baffi n Bay, the whole Canadian Arctic, and the southern 
parts of the Barents Sea), cloudy days occur with a frequency of 80–90 %. The fre-
quency of cloudy days below 60 % occurs only near Greenland and Ellesmere 
Island. In winter, in the entire Arctic (except the Atlantic and the Baffi n Bay regions) 
the frequency of cloudy days is about two times lower. On the other hand, in the 
Atlantic region and the northern part of the Baffi n Bay region, the frequency is gen-
erally 10–20 % lower. Only in a small area between Greenland and the Labrador 
Peninsula may a greater amount of cloudiness be noted in winter than in summer.  

5.3     Fog 

 Four types of  fog   can be distinguished in the Arctic:

 –    Advection fog  
 –   Radiation fog  
 –   “Steam fog” or “Arctic smoke”  
 –   Ice fog    

 The most common type is  advection      fog occurring mainly in summer (particu-
larly from June to September) when relatively warm, moist air fl ows in over a cold 
surface. The most favourable conditions for the formation of this type of fog are the 
open waters of the Kara, Laptev, East Siberian, and Chukchi seas. Warm water car-
ried by the northern extension of the Gulf Stream system signifi cantly reduces the 
frequency of this type of fog over the Norwegian and Barents seas. The frequency 
of these fogs decreases rapidly from the coastline inland and diminishes less rapidly 
over the pack ice. Fogs of this kind and other types also do not occur at wind speeds 
above 10 m/s (Vowinckel and Orvig  1970 ). 

 The second type of fog –  radiation      fog – occurs mainly in winter, when small 
cloudiness favours large long-wave upward radiation. This radiation cooling is 
more effective in producing fog over coastal and inland areas because here the fl ux 
of subsurface heat is signifi cantly smaller than over the oceanic ice. Radiation fogs 
are usually shallow and have a light density because they occur in very low 
temperatures. 
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 The third type of fog – “ steam      fog” – is not very often observed in the Arctic. 
This fog can be found mainly over open water during the advection of very cold air. 
The necessary condition for its occurrence is the great contrast between air tempera-
ture and water temperature. Under such conditions, the fl ux of water vapour to the 
atmosphere is greater than the surface cold air is able to hold. As a result, the excess 
moisture quickly condenses into fog. This fog occurs most frequently over rivers, 
unfrozen lakes, open leads, or polynyas. This type of fog does not “live” long; it is 
very quickly dissipated by wind. Therefore, it is seldom of any great horizontal or 
vertical extent. 

 The fourth type of fog –  ice fog      – is formed when air temperature is low enough 
(usually below −30 °C) to cause direct atmospheric sublimation of moisture in the 
form of ice crystals. Light ice particles with small full velocity remain suspended in 
the stagnant air near the surface for a long time. This type of fog occurs mostly near 
inhabited areas, which are a local source both of moisture and pollutants. Stable air- 
conditions (little or no wind) during cold spells lead to a large concentration of atmo-
spheric pollutants. Therefore, the ice fog is considered to be one of the types of air 
pollution (Benson  1969 ; Maxwell  1982 ). Its thickness usually oscillates from about 
15–150 m. For more details, see Berry and Lawford ( 1977 ) and Maxwell ( 1982 ). 

 During the course of the year, fogs occur with the highest frequency in the sum-
mer months. For example, in the Arctic Ocean their frequency is very high and ranges 
mainly from 65 to 80 %. On the other hand, in winter, fogs are observed very rarely 
(5–10 %). However, in some areas of the Arctic a maximum frequency can also occur 
in every month. Inland areas, where radiation type fogs dominate, show a maximum 
during one of the cooler months and particularly during autumn (Petterssen et al. 
 1956 ). For example, in the Eismitte station (central Greenland) maximums occurred 
in October (26 days) and December (20 days) (Georgi et al.  1935 ). Moreover, Prik 
( 1960 ) revealed that the occurrence of fog depends on the  sea-ice concentration   
(Fig.  5.6 ). The highest frequency of fogs occurs over the sea areas which have a 
70–90 % sea-ice cover. If there is less or more ice, a decrease in fog frequency is 
observed. The duration of fogs is different. Usually they do not occur for very long 
(<6–12 h), but sometimes their duration can reach as much as 76 h (Prik  1960 ).

  Fig. 5.6    Average number of days with fog during 10-day periods in summer months (July and 
August) for different degrees of ice  concentration   (After Prik  1960 ).  1  – Ostrov Ruskiy,  2  – Ostrov 
Uedinenya       
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   Information about geographical distribution and also about other  characteristics   
of fogs in the Arctic is somewhat limited. Most existing publications analyse this 
atmospheric phenomenon for individual points or small areas (e.g. Loewe  1935 ; 
Bedel  1956 ; Kanevskiy and Davidovich  1968 ; Krenke and Markin  1973a ,  b ; Pietroń 
 1987 ). Among the works giving more a comprehensive and general insight into the 
problem one can mention Rae ( 1951 ), Petterssen et al. ( 1956 ), Prik ( 1960 ), 
Andersson ( 1969 ), Ukhanova ( 1971 ), and Maxwell ( 1982 ). Surprisingly, such well- 
known studies as those of Vowinckel and Orvig ( 1970 ) and Putnins ( 1970 ) give very 
short notes not exceeding half a page. Only Prik ( 1960 ) presents maps with the 
frequency of fogs in the whole Arctic (for July) and Ukhanova ( 1971 ) for the non- 
Soviet Arctic (for July and for the year as a whole). The  isolines   must be treated, 
however, as a rough approximation because, for example:

    1.    The network of stations was too sparse   
   2.    Different defi nitions of fogs were used   
   3.    Observations were made with different frequencies in the course of a single day    

   The  accuracy   of fog observations is greatest in the warm-half year. In winter, 
particularly during the polar night, the reliability of observations is lower. In this 
season, and also during the night hours in the transitional seasons, a spurious 
increase of fog frequency was noted (Sverdrup  1933  ). 

 In January, in the non-Soviet  Arctic  , the highest mean frequency of fogs occurs 
in Alaska, where it can exceed 20 %, as in the case of the Barrow station (21 %). In 
the rest of the area studied (excluding the inland region of Greenland), the fre-
quency is lower than 10 % (i.e. fewer than 3 days with fog). In the majority of the 
Canadian Arctic Archipelago and Greenland stations, there is less than one day of 
fog in January. 

 In July (Fig.  5.7 ), as was mentioned earlier, the  frequency   is at its highest almost 
everywhere. In the central part of the Arctic, about 20–25 days with fog have been 
noted. A similar frequency also occurs in the northern part of the Barents and 
Chukchi seas, and probably in the East Siberian and Laptev seas (see Prik  1960 ). 
Over land areas, the frequency signifi cantly decreases by up to 5–10 days. A smaller 
number of fogs are also observed in the southern part of the Atlantic region (10–20 
days).

   The annual number of  days   with fogs is greatest in the central part of the Arctic 
(>140 days). Over almost the entire Arctic Ocean there are more than 100 days with 
fog. Frequent fogs resulting from the cold East-Greenland Current are also noted 
between Greenland and Spitsbergen. The northern parts of all the Arctic seas also 
probably have more than 100 days with fog (except the Norwegian Sea and Baffi n 
Bay). In the central part of Greenland, during the Wegener expedition in the years 
1931/1932, as many as 133 days with fog were recorded. However, two thirds of 
these fogs were due to the presence of clouds at the ice surface, and the remaining 
third were radiation fogs (Putnins  1970 ). Moreover, information from just 1 year is 
also rather unreliable. For example, on the French station Centrale situated not very 
far from the Eismitte station in 1949/1950, only 56 days with fog were observed. On 
coastal stations, the frequency of fogs is signifi cantly lower and most often  oscillates 
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between 30 and 60 days, only rarely exceeding 100 days in some stations like 
Barrow (Ukhanova  1971 ), Ostrov Hejsa (Krenke and Markin  1973a ,  b ). Krenke and 
Markin ( 1973a ,  b ) showed that  occurrence      of fogs depends signifi cantly on local 
conditions. More fogs are usually observed in more open coastal stations.     

   Fig. 5.7      Average   number of days with fog for the year (a) and July (b) (after Ukhanova  1971 ). 
 1  – average number of days with fog,  2  – maximum number of days with fog       
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    Chapter 6   
 Air Humidity       

               Water vapour is a very important meteorological element because it is a crucial link 
in water circulation on the globe. Air humidity is most often characterised in meteo-
rology using the following  characteristics  : actual water vapour pressure, relative 
humidity, and saturation defi cit. It should be mentioned here that, when relative 
humidity is used to describe the humidity conditions in the Arctic, a distinction 
should be made between the expression of relative humidity in terms of percentage 
of saturation with respect to ice and its expression in terms of saturation with respect 
to water.  Measurements   of air humidity in low temperatures (particularly below 
−10°C) using both psychrometers and hair hygrometers are highly inaccurate. More 
details can be found in studies such as those by Koch and Wegener ( 1930 ), Loewe 
( 1935 ), Sverdrup ( 1935 ), Gol’cman ( 1939 ,  1948 ), Ratzki ( 1962 ), and Prik ( 1969 ). 

 The above diffi culties of humidity measurement in the Arctic mean that the qual-
ity of the obtained data is often low. Probably this is the most important reason for 
the small number of publications in which the air humidity in the Arctic is described. 
In some geographical monographs or even in climatological works, this element is 
totally neglected (Prik  1960 ; Steffensen  1969 ,  1982 ; Barry and Hare  1974 ; Maxwell 
 1980 ,  1982 ; Sugden  1982 ; Frolov et al.  2005 ; Serreze and Barry  2005 ,  2014 ; Turner 
and Marshall  2011 ) or only treated very cursorily (Meteorology of the Canadian 
Arctic  1944 ; Rae  1951 ; Putnins  1970 ; Vowinckel and Orvig  1970 ; Sater et al.  1971 ). 
The only studies we have which are in any way comprehensive are those which have 
been presented by Zavyalova ( 1971 ), Burova ( 1983 ), and Atlas Arktiki ( 1985 ) for 
the entire Arctic, and Pereyma ( 1983 ) and Przybylak ( 1992a ) for Spitsbergen. On 
the other hand, in recent years, quite a considerable number of papers analysing 
content, distribution, and transport of water vapour in the Arctic troposphere have 
been published (Drozdov et al.  1976 ; Burova and Gavrilova  1974 ; Burova  1983 ; 
Calanca  1994 ; Serreze et al.  1994a ,  b ,  1995a ,  b ; Burova and Lukyanchikova  1996 ; 
Treffeisen et al.  2007 ; Vihma et al.  2008 ; Cimini et al.  2010 ; Serreze et al.  2012 ; 
Nygård et al.  2014 ). 
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6.1      W ater Vapour Pressure   

 Generally speaking, because of the low air temperatures, water vapour content is 
also low throughout the Arctic. This results both from limited evaporation and the 
small amount of water vapour which can be held by the cold air. The annual course 
of the water vapour pressure is therefore very similar to that of air temperature. In 
winter months, from November to March, and in some parts of the Arctic even to 
April (e.g. Spitsbergen), the water vapour pressure is the lowest and shows clear 
uniformity (Fig.  6.1 ), although the day-to-day changes are almost the greatest in the 

  Fig. 6.1    Mean annual course of relative humidity (f),  water vapour pressure   (e), and saturation 
defi cit (Δe) in Hornsund (Spitsbergen) of days of various degree of cloudiness (C) in the period 
November 1978–December 1983 (After Przybylak  1992a )       
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annual course (see Przybylak  1992a ). The values of this element in the Arctic must 
be the lowest over the Greenland Ice Sheet and probably oscillate near 0.0–0.1 hPa. 
They are also very low (about 0.2–0.6 hPa) in the coldest continental parts of the 
Canadian and Russian Arctic. In the parts of the Arctic characterised by an oceanic 
climate (Atlantic, Baffi n Bay and the southern Pacifi c regions), the water vapour 
pressure oscillates between 2 and 4 hPa (Zavyalova  1971 ; Przybylak  1992a ).

   In Spitsbergen, the highest mean daily values rarely exceed 6 hPa and the lowest 
do not drop below 0.3 hPa. From April (or May) to June, a signifi cant increase in 
water vapour pressure is observed. The annual maximum of this element occurs in 
July or August. During these months in the southernmost parts of the continental 
Arctic, the mean water vapour pressure can exceed 9 hPa (e.g., in Coppermine 9.5 
and 9.4 hPa in July and August, respectively). In the southernmost maritime areas, 
the water vapour pressure is a little lower because the air temperature is also lower. 
The highest values occur here mainly in August and reach about 8 hPa (Björnöya – 
7.9 hPa, Jan Mayen – 8.0 hPa). In south-western Spitsbergen (Hornsund), the water 
vapour pressure is lower and the maximum is observed in July (7.1 hPa) (Przybylak 
 1992a ). The highest mean daily water vapour pressure can reach 12–13 hPa in the 
southernmost parts of the continental Arctic and 10–11 hPa in the maritime Arctic. 
In Hornsund, the maximum mean daily value for the period 1979–1983 amounts to 
9.9 hPa and was connected with long-term (2 weeks) infl ow of warm and humid air 
masses from the southern sector. In September and October, the greatest decline of 
water vapour pressure is observed. From Fig.  6.1 , it can be seen that in Hornsund in 
all months (except August) the highest water vapour pressure occurs on cloudy 
days. This results from the fact that cloudy days (except during the high summer 
months) are warmer than partly cloudy, and particularly, clear days. To explain the 
relationships between cloudiness and water vapour pressure, one can add that 
cloudy days are connected with the maritime (warm and humid) air masses coming 
from the southern sector, while clear days occur when Arctic or polar continental 
(cold and dry) air masses fl ow in from northern and eastern sectors. The mean verti-
cally integrated meridional vapour fl ux over the Arctic for the surface – 700 hPa 
layer is clearly evident on the maps presented here (Fig.  6.2 ). Poleward moisture 
transport in all months is the greatest in the Atlantic region where it is associated 
with cyclonic activity along the primary North Atlantic storm track. On the other 
hand, the equatorward fl uxes dominate over the Canadian Arctic, particularly in 
July. The result of this is the opposite infl uence of atmospheric circulation on air 
humidity in the Atlantic and Canadian regions. In the former, it leads to an increase 
of the absolute content of water vapour, while in the latter it results in a decrease.

   The mean monthly daily courses of water vapour pressure in the cold half-year 
in Spitsbergen are almost uniform, particularly during the polar night, because they 
depend on non-periodical factors. The highest and lowest values can occur with the 
same probability in every hour of the day. In the summer months, the differences in 
the fl uxes of solar radiation reaching the Arctic in a daily cycle determine the occur-
rence of the maximum values in the afternoon and the minimum values of water 
vapour pressure in the “night” hours. However, their range is very small and does 
not exceed 0.3 hPa (Przybylak  1992a ). The daily cycles are better developed on 
clear days than on cloudy days. 

6.1 Water Vapour Pressure
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 Monthly means of water vapour content in the Arctic troposphere can be seen to 
be decreasing with height quite regularly (see Figure 5 in Treffeisen et al.  2007 ). 
The annual course of this parameter is very clearly seen at all altitudes, with the 
highest values in summer and the lowest in winter .  

6.2     Relative Humidity 

  Relative humidity   describes the degree of saturation of air by water vapour. This 
parameter is almost always used to characterise the air humidity in the Arctic. Some 
of the above-cited papers are devoted to studying this parameter, either entirely 
(Meteorology of the Canadian Arctic  1944 ; Rae  1951 ; Putnins  1970 ; Vowinckel and 
Orvig  1970 ; Sater et al.  1971 ; Pereyma  1983 ) or to a great extent (Petterssen et al. 
 1956 ; Zavyalova  1971 ). In  winter  , the relative humidity in the Arctic should be cal-
culated with respect to the saturation vapour pressure over ice, which is lower than 
it is over water. This permits the air to be slightly supersaturated with respect to ice, 
while it is not saturated with respect to water. In practice, this means that for winter 
we receive signifi cantly higher values of relative humidity than when they are cal-
culated in respect to water. From the Fig.  6.3 , it can be seen that the differences are 
quite large and exceed 30 %. It is well known that the  annual course of   relative 
humidity is usually opposite to the course of air temperature. However, in the Arctic 
such a situation occurs only when the relative humidity in the cold half-year is com-
puted with respect to ice (see Fig.  6.3 ).  Supersaturation   occurs frequently near the 
surface in winter as long as no condensation takes place.

  Fig. 6.2    Mean  vertically   integrated meridional vapour fl ux (kg m −1  s −1 ) over the Arctic Basin for 
the surface – 700 hPa layer for ( a ) January and ( b ) July. Contours over the high (greater than 
3000 m) Greenland ice cap have been omitted (After Serreze et al.  1995a )       
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   The  mean monthly   relative humidity over ice in the Arctic, computed according 
to a formula proposed by Malmgren ( 1926 ), shows more than 100% in the period 
from November to April, but on particular days supersaturation can also be observed 
in October when temperature drops below −25°C (Radionov et al.  1997 ). Radionov 
et al. ( 1997 ) found that thermal conditions favorable to the supersaturation of water 
vapour in the air occur continuously over 75 % of the period from December to 
March, with a maximum in February (89 %). In January (Fig.  6.4 ), supersaturation 
occurs over the entire Arctic, excluding the Atlantic region and the southern and 
central parts of the Baffi n Bay and Pacifi c regions. This phenomenon also does not 
occur in the southern coastal part of Greenland. The  highest relative humidity   
(>106 %) is observed in the central part of the Greenland Ice Sheet. The secondary 
maximum (>104 %) occurs on Ellesmere Island and in the Arctic Ocean from the 
Greenland and Canadian Arctic side. The relative humidity computed with respect 
to water (Fig.  6.5 ) shows almost the opposite pattern and generally 20–30 % lower 
values. In practice, because measurements of relative humidity in low temperatures 
are still made using hair higrometers, which measure this element with respect to 
water, the original results of relative humidity measurements and different climatic 
analyses are presented with respect to water (e.g. Kanevskiy and Davidovitch  1968 ; 
Krenke and Markin  1973a ,  b ; Markin  1975 ; Wójcik  1976 ; Pereyma  1983 ; Przybylak 
 1992a ,  b ).

    In  summer  , the accuracy of measurements of air humidity is the highest and, 
because of mostly positive temperatures in the Arctic, the computed method of the 
relative humidity with respect to water is correct. The highest relative humidity 

  Fig. 6.3    Mean  annual course of   relative humidity (U) and air temperature (T) (After Zavyalova 
 1971 ).  1  – relative humidity determined using hygrometer,  2  – relative humidity corrected accord-
ing to the formula proposed by Malmgren,  3  – air temperature       
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(>95 %) is noted mainly in the Arctic Ocean and in the northern parts of Arctic seas, 
excluding the Greenland and the Norwegian seas and Baffi n Bay (Fig.  6.5 ). High 
humidity (above 90 %) occurs over a large portion of the Greenland and Norwegian 
seas and in the other Arctic seas. However, in the Baffi n Bay region such high 
humidity is only observed in its south-western part. The lowest relative humidity is 
to be found in the southernmost continental parts of the Arctic (about 70–85 %) and 
in the inner part of Greenland, and other large islands. 

 The relative humidity in  Hornsund   shows a dependence on cloudiness similar to 
that of water vapour pressure (Fig.  6.1 ), i.e., signifi cantly higher values (about 
15–20 %) are observed in all months (except August) on cloudy days than on clear 
days. The value of the relative humidity in August is computed from only a few 
days, so its representativeness may be not high. 

 The  mean monthly daily courses   of the relative humidity in the Arctic in the cold 
half-year (October–March) are uniform. From April, the daily course becomes 
clearer and is best developed in the late spring and summer months. For example, in 
Spitsbergen (Hornsund), the greatest range in the mean monthly daily courses of 
relative humidity occurs in August (6 %) and in May (5 %). The lowest values were 
observed most often at 2 pm and the highest in the “night” or early morning hours 
(Przybylak  1992a ). The daily courses of the relative humidity in the warm half-year, 
similar to those of air temperature, become clearer when the cloudiness decreases. 

  Fig. 6.4    Mean relative air humidity in January in the Arctic expressed in terms of percentage of 
 saturation   with respect to ice (After  Atlas Arktiki   1985 )       
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   Fig. 6.5     Mean relative air humidity in ( a ) January and ( b ) July in the Arctic expressed in terms of 
percentage of saturation with respect to water (After Atlas  Arktiki   1985 )       
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 Relative humidity  observations   in the Arctic troposphere over Ny-Ålesund 
(Spitsbergen) in 1991–2006, calculated in respect to water, showed that values of 
this parameter (similar to water vapour pressure) are decreasing with altitude. 
However, a clear annual cycle (greater values in summer than in winter) is seen only 
in the lower 4 km (see Figure 4 in Treffeisen et al.  2007 ). Relative humidity in 
respect to ice shows important differences both in the vertical, as well as the annual 
cycle, to the described relative humidity behaviour in respect to water. A strong 
decrease of humidity is clear, up to 4–5 km, and then a small increase is noted. The 
annual cycle is less clear here than when relative humidity is calculated in respect to 
water (smaller amplitude). Moreover, as the altitude increases, the annual course 
showing higher values in summer than in winter (in the lower 1 km) is changing to 
the reverse pattern above the altitude of 1 km (see Figure 4 in Treffeisen et al.  2007 ). 

  Supersaturation   with respect to ice shows clear seasonal behaviour. In winter, 
(October–February), it occurred in 19 % of all cases and less frequently in spring 
(March–May 12 %), and summer (June–September, 9 %) (Treffeisen et al.  2007 ). 
This phenomenon is more frequent at higher altitudes of the troposphere than in 
lower ones. In particular, great differences are seen in the cold half-year, from less 
than 10 % (below 1 km) to 25–35 % (6–9 km) (see Figure 6 in Treffeisen et al. 
 2007 ). 

 Recently, Nygård et al. ( 2014 ) studied low-troposphere humidity inversions in 
the Arctic based on data from the  Integrated Global Radiosonde Archive  , from 36 
Arctic stations, gathered for the years 2000–2009. They found that humidity inver-
sions are present on multiple levels almost all the time in the Arctic atmosphere. 
They have also been noted over Nordic sectors, Greenland and, in particular, North 
American sectors of the Arctic (more than 90 %) at a slightly greater frequency than 
in the Russian Arctic (usually below 90 %). It was also shown that the occurrence 
of humidity inversions in the Arctic was greater than the occurrence of temperature 
inversions – almost half (48 %) occurred simultaneously. Therefore, these humidity 
inversions can be explained by the existence of temperature inversions. The rest of 
the inversions, according to Nygård et al. ( 2014 ), can be linked to uneven vertical 
distribution of horizontal moisture transport.     
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    Chapter 7   
 Atmospheric Precipitation and Snow Cover       

               Knowledge about precipitation and its changes in the Arctic is just as important as 
knowledge  about   air temperature. This information is needed fi rst of all to correctly 
estimate the mass balance of the Arctic glaciers and the Greenland Ice Sheet. In 
turn, the mass balance infl uences the recession (negative balance) or advance (posi-
tive balance) of glaciers. As a result, the changes of sea level are observed. Both 
these processes are very important for natural environment and for human industrial 
activity. Therefore, during the present period of global warming, due at least partly 
to human activity, the monitoring of all kinds of ice in the Arctic is crucial. Relying 
only on temperature investigation, it is diffi cult to give a credible prediction of the 
future behaviour of sea ice and land ice. More accurate predictions may be made 
when tendencies of precipitation are also taken into account. 

 One can agree with the conclusion of Petterssen et al. ( 1956 ) that observations of 
 atmospheric precipitation   are “the most unsatisfactory of all Arctic meteorological 
records”. This is due to the very frequent solid precipitation (snowfall) occurring in 
the Arctic. In addition, rainfalls in summer have a very low intensity. In winter, the 
snowfall is most often connected with storm activity and typically takes the form of 
fi ne snowfl akes. As a result, wind easily lifts and redistributes these snowfl akes 
according to exposure and local topography. Arctic snow usually begins to drift at 
wind speeds of 7–8 ms −1 . During the polar night, it is sometimes diffi cult to distin-
guish between a period of snowfall and a period of blowing snow. The measurement 
of rainfall also encounters diffi culties because rain in the Arctic occurs mainly as a 
light steady drizzle. Serious gauge undercatches are caused mainly by wind-induced 
turbulence over the gauge orifi ce. Other losses that decrease the gauge catch are 
related to evaporation from the gauge before the time of reading, and wetting losses 
due to moisture that adheres to the walls and funnel of the gauge. Legates and 
Willmott ( 1990 ) have estimated that these undercatches could reach about 40 %. On 
the other hand, sometimes overcatches also occur. Prik ( 1965 ) found that 
  precipitation   in Ostrov Dikson was at its highest on days with strong winds, due to 
snow blown into the recording gauge (particularly large during snowstorms). 
Bryazgin ( 1971 ), Mekis and Hogg ( 1999 ), and Førland and Hanssen-Bauer ( 2000 ) 
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also reported that different types of gauges used in the Arctic show a different sen-
sitivity to factors causing errors in measurement. As a result, it is rather diffi cult to 
reliably eliminate these errors from the Arctic precipitation series. Hulme ( 1992 ) 
also came to the same conclusion. 

 In the 1980s, Bryazgin, using his own method (Bryazgin  1976a ), has under-
taken attempts to make adjustments of the precipitation series for the entire Arctic 
(Gorshkov  1980 ; Atlas  Arktiki   1985 ). Recently similar work was also carried by 
Serreze and Barry ( 2005 ,  2014 ). However, it is diffi cult to say how reliable these 
results are. For example, comparing the January, July, and annual totals of pre-
cipitation for the Canadian Arctic presented in the  Atlas Arktiki  with those pub-
lished by Maxwell ( 1980 ), we notice signifi cant differences. The highest 
differences are for January precipitation. The map in the   Atlas Arktiki    shows 2–5 
times greater precipitation than the map in Maxwell's work. It seems to me that 
such large differences cannot be explained by measurement errors. The results for 
July and the annual totals display fewer discrepancies and are only higher by 
about 120–200 %. When corrected precipitation data for the Canadian Arctic are 
used (Mekis and Hogg  1999 ), which eliminate most inhomogeneities (including 
above-mentioned measurement errors), the differences get smaller but are still too 
high. More details about the quality of the precipitation series may be found in, 
among others, the following selection of papers: Prik  1965 ; Bogdanova  1966 ; 
Bryazgin  1969 ,  1976b ; Bradley and England  1978 ; Sevruk  1982 ,  1986 ; Bradley 
and Jones  1985 ; Folland  1988 ; Legates and Willmott  1990 ; Hulme  1992 ; Metcalfe 
and Goodison  1993 ; Peck  1993 ; Marsz  1994 ; Hanssen-Bauer et al.  1996 ; Groisman 
et al.  1997 ; Mekis and Hogg  1999 ; Ohmura et al.  1999 ; Førland and Hanssen-
Bauer  2000 ; Yang et al.  2005 . All the above limitations of the measurements of 
precipitation in the Arctic should be kept in mind, particularly when the data for 
water balance computations is used. 

 As has already been mentioned, precipitation measurement problems are at their 
greatest on the Greenland Ice Sheet. Therefore, to estimate precipitation in 
Greenland, two other methods are proposed (Bromwich and Robasky  1993 ; 
Bromwich et al.  1998 ). The fi rst method, the older of the two, was used initially by 
Diamond ( 1958 ,  1960 ).  Precipitation   amounts on the Greenland Ice Sheet are com-
puted, taking into account the accumulation of snow over one, or more typically 
several, years. This net build-up of snow on the surface is the end result of almost 
exclusively solid precipitation (due to falls of snow and/or ice crystals) minus the 
net runoff of meltwater, the net fl ux of water vapour to the surface due to frost for-
mation and condensation minus sublimation and evaporation, and the deposition 
minus the erosion of snow by drifting (Bromwich and Robasky  1993 ). This method 
is also commonly used to estimate precipitation in other glaciated areas. The second 
method uses indirect meteorological approaches to calculate the precipitation. One 
technique computes the atmospheric moisture balance. Precipitation is found as the 
residual from the budgeting of the fl uxes of water vapour into and out of an atmo-
spheric volume. The weakness of this method is the fact that the precipitation can be 
computed only for seasonal and longer time scales and for regions of at least 1 mil-
lion km 2  that are monitored by a good synoptic network of radiosonde stations (e.g. 
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Rasmusson  1977 ; Bromwich  1988 ). Another approach is to add up  precipitation 
amounts calculated from estimates of synoptic-scale vertical motion (Bromwich 
et al.  1993 ). 

 A review of the literature shows that most of the geographical and climatological 
monographs of the  Arctic   give surprisingly little information about precipitation 
(e.g., Prik  1960 ; Sater  1969 ; Putnins  1970 ; Vowinckel and Orvig  1970 ; Sater et al. 
 1971 ; Barry and Hare  1974 ; Sugden  1982 ; Barry  1989 ; Bobylev et al.  2003 ). More 
information can be found in Rae ( 1951 ) and Petterssen et al. ( 1956 ), but particularly 
in Bryazgin ( 1971 ) for the non-Soviet Arctic, in Maxwell ( 1980 ) for the Canadian 
Arctic, and in Przybylak ( 1996a ,  b ,  2002a ), Frolov et al. ( 2005 ), Serreze and Barry 
( 2005 ,  2014 ), and Turner and Marshall ( 2011 ) for the Arctic as a whole. The pre-
cipitation has only been presented in cartographic form by Bryazgin, based on the 
periods 1916–1973 (Gorshkov  1980 ) and 1930–1965 ( Atlas Arktiki   1985 ), by 
Przybylak ( 1996a ,  b ,  2002a ) based on the period 1951–1990, by Bogdanova ( 1997 ) 
for solid precipitation, by Frolov et al. ( 2005 , unknown period), by Serreze and 
Barry (1960–1989) and Turner and Marshall ( 2011 , ECMWF 40-years reanalysis 
data). The majority of these publications present results for some months and for the 
year as a whole. On the other hand, Przybylak ( 1996a ,  b ,  2002a ) additionally pro-
vides the results for all seasons. For some parts of the Arctic, maps have also been 
presented by Bryazgin ( 1971 ) for the non-Soviet Arctic, Maxwell ( 1980 ) for the 
Canadian Arctic, and Ohmura and Reeh ( 1991 ), Ohmura et al. ( 1999 ), and Bromwich 
et al. ( 2001 ) for Greenland. In the case of Greenland, there are also earlier attempts 
to chart the distribution of the annual accumulation (Diamond  1958 ,  1960 ; Bader 
 1961 ; Benson  1962 ; Mock  1967 ; Barry and Kiladis  1982 ). 

 The role of  snow   in shaping the climate was recognised as early as at the end of 
the nineteenth century (see e.g. Voieikov  1889 ; Brückner  1893 , or Süring  1895 ) and 
its mechanism is presented in brief in the Introduction to the present volume. The 
snowfall creates a snow cover when air temperature is ≤0 °C. A detailed consider-
ation of the snow cover (in terms of depth and density) has often been omitted from 
climatological studies as being less important. It has, however, been investigated by 
hydrologists, who need this information for water budget computations. At present, 
two types of data about the  snow cover   are available: (1) in  situ   (standard observa-
tions in meteorological stations), and (2)  satellite remote sensing  . The fi rst type of 
data gives the best information about physical characteristics of the snow cover but 
its main weakness is its low spatial resolution (the network of stations is sparse). On 
the other hand, the satellite data give very good time and spatial resolution of the 
extent of the snow cover, but limited (if any) information about snow depth and 
density. One should also add that snow-cover mapping from satellite-derived imag-
ery (with weekly resolution) was begun in November 1966 by the National Oceanic 
and Atmospheric Administration (Matson  1991 ). Until 1972 only visible satellite 
charts were used, and thus there was no information from the dark season (the polar 
night). Moreover, a major problem with snow cover mapping at this time was the 
diffi culty of distinguishing between snow and clouds. Since 1972, however, when 
passive microwave sensors were introduced, mapping has been possible both in the 
presence of clouds and darkness (Barry  1985 ). 
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 There are quite a large number of attempts to deal with the problem of snow 
cover in the  Arctic     , in the Northern Hemisphere, and in the world as a whole. A 
signifi cant increase in the number of published papers has been observed since the 
start of the satellite era. Of most important works analysing snow cover on the 
global, hemispheric, and continental scales, one should mention Kotlyakov ( 1968 ), 
Kopanev ( 1978 ), Dewey ( 1987 ), Dudley and Davy ( 1989 ), Cess et al. ( 1991 ), 
Robinson ( 1991 ), Ropelewski ( 1991 ), and Kotlyakov et al. ( 1997 ). The good syn-
thesis presenting different aspects connected with the snow cover in the Arctic 
Ocean has been provided by Radionov et al. ( 1997 ). Of the other positions pub-
lished recently, the following should also be mentioned: Bryazgin ( 1971 ), Dolgin 
et al. ( 1975 ), Maxwell ( 1980 ), Romanov ( 1991 ),  Ice Thickness Climatology 1961–
1990 Normals  ( 1992 ), Brown and Braaten ( 1998 ), Colony et al. ( 1998 ), Warren 
et al. ( 1999 ), Bruland ( 2002 ), Bobylev et al. ( 2003 ), Winther et al. ( 2003 ), Alexandrov 
et al. ( 2004 ), Frolov et al. ( 2005 ), Serreze and Barry ( 2005 ,  2014 ), and Turner and 
Marshall ( 2011 ). 

7.1     Atmospheric Precipitation 

7.1.1     Annual Cycle of Precipitation 

   The amount of  precipitation   over any area  depends   on the moisture content of the 
air, the pattern of synoptic scale weather systems affecting the area, and the topog-
raphy and the character of the underlying surface. The moisture content of the air 
can be described using the concept of precipitable water.  Precipitable water   is 
defi ned as the “depth to which liquid water would stand if all the water vapour in a 
vertical column of uniform cross-section, extending from the earth's surface to the 
top of the atmosphere, were condensed” (Maxwell  1980 ). Serreze et al. ( 1994 ) pub-
lished maps presenting the fi elds of precipitable water above the Arctic for the sur-
face to 300-hPa layer for January and July (Fig.  7.1a, b , respectively).

   Precipitable water vapour in January is highest (4–6 mm) in the southernmost 
part of the Atlantic region, dropping to about 2 mm over the central Arctic Ocean. 
Serreze et al. ( 1994 ) connected this with the spatial distribution of troposphere tem-
peratures. In July, precipitable water reaches its annual maximum, with values rang-
ing from about 12 mm over the northern part of Baffi n Bay and 12–13 mm over the 
central Arctic Ocean to 15–19 mm in the southernmost parts of the Arctic. A clear 
zonal distribution may be observed in this month, which refl ects the zonal tropo-
spheric temperature pattern in summer. Other factors infl uencing the precipitation 
in the Arctic have been described in Chaps.   1    ,   2    , and   6    . 

 In most climatological handbooks describing the annual cycle of precipitation in 
the  Arctic  , it is usually maintained that the precipitation is at its highest in summer 
and lowest in winter. This statement is in agreement with what has already been said 
about the moisture content in the atmosphere. However, it does not take into account 
other factors, which in some areas of the Arctic can signifi cantly change the 
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“ picture”. The most important of these is, of course, the synoptic scale atmospheric 
circulation. The inspection of the monthly totals of atmospheric precipitation in 
selected stations representing all climatic regions in the Arctic (Fig.  7.2 ) reveals the 
existence of at least two main types of the annual courses. The fi rst type is charac-
terised by the highest precipitation occurring mainly in the autumn months, when 

   Fig. 7.1     Fields of precipitable water for the surface to 300-hPa layer (mm) for January ( a ) and 
July ( b ) (After Serreze et al.  1994 )       
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  Fig. 7.2    Annual course of atmospheric precipitation (according to mean monthly totals) in 
selected Arctic stations, 1961–1990 (After Przybylak  1996b ). ( a ) Danmarkshavn, ( b ) Jan Mayen, 
( c ) Malye Karmakuly, ( d ) Polar GMO E.T. Krenkelya, ( e ) Ostrov Dikson, ( f ) Ostrov Kotelny, ( g ) 
Mys Shmidta, ( h ) Resolute A, ( i ) Coral Harbour A, ( j ) Clyde A, ( k ) Egedesminde       
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the temperature is still relatively warm (particularly in September and October) and 
cyclonic activity is only slightly lower than in winter, and the lowest is in spring 
when the anticyclonic activity is greatest (Serreze et al.  1993 ). Such annual cycles 
of precipitation occur in the Arctic areas, where atmospheric circulation is strongest 
(Atlantic, Pacifi c and Baffi n Bay region). This is particularly evident in the data 
from Jan Mayen (Fig.  7.2b ), Mys Shmidta (Fig.  7.2g ), and Clyde A (Fig.  7.2j ). The 
parts of the Arctic with the most continental climate (the Canadian and Siberian 
regions) show a maximum of precipitation in summer and minimum in winter. In 
these areas, precipitation depends mainly on air temperature, which determines the 
magnitude of evaporation and the upper limit of the air's water vapour capacity. This 
type of annual cycle is clearest in the stations Ostrov Kotelny (Fig.  7.2f ), Resolute 
A (Fig.  7.2h ), and Coral Harbour A (Fig.  7.2i ). In the central Arctic Ocean, the high-
est precipitation occurs in summer, but the lowest is in spring (see Table 14 in 
Radionov et al.  1997 ). The amount of precipitation in the entire Arctic is signifi -
cantly higher in the second half of the year (60–70 % of the annual total).  

7.1.2        Spatial Patterns 

 The precipitation  amounts   presented for the Arctic in its entirety (except for the 
inner part of Greenland) come from meteorological stations located on the seacoast 
below 200-ma.s.l. As has already been shown from measurements carried out on 
Spitsbergen (e.g., Kosiba  1960 ; Baranowski  1968 ; Markin  1975 ; Marciniak and 
Przybylak  1985 ), summer precipitation on the glaciers (200–400 m a.s.l.) is two to 
three times greater than that measured on the tundra. The mean summer and annual 
vertical gradients were estimated to be about 35–40 mm/100 m and 80 mm/100 m, 
respectively (Markin  1975 ). For this reason, the snow accumulation measurements 
on the glaciers or on ice caps cannot be used to correct measurements of precipita-
tion on the coastal stations. Some authors compare the results of  snow accumulation   
on glaciated areas with the neighbouring meteorological stations to estimate the 
magnitude of the impact of wind upon gauge collection of precipitation (see e.g. 
Bromwich and Robasky  1993 ). 

 Low air temperature and low atmospheric moisture content in the Arctic signifi -
cantly limit the values of precipitation. Mean annual totals of  precipitation   from the 
period 1951–1990 (Fig.  7.3 ) over almost the entire Arctic (except the southernmost 
fragments of the Atlantic and Baffi n Bay regions) do not exceed 400 mm. The low-
est precipitation amounts occur in the coldest part of the Arctic (the northern part of 
the Canadian Arctic Archipelago above 77°N and the Arctic Ocean from the 
Canadian side), where they are less than 100 mm. The rest of the Arctic Ocean, the 
central part of the Siberian region, and the northern part of the Canadian Arctic 
(70–77°N) also have low precipitation (<200 mm). Anticyclonic activity prevails 
over the above areas throughout the entire year (Serreze et al.  1993 ). The highest 
annual precipitation totals (>500 mm), on the other hand, occur in the warmest areas 
of the Arctic, which are also characterised by the most intense cyclonic activity (the 
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southernmost fragments of the Atlantic and Baffi n Bay regions, and southern coastal 
parts of Greenland). Particularly high totals (>2000 mm) are observed on the south 
headland of Greenland in the vicinity of the Prins Christian Sund station. The mean 
annual precipitation sum in this station computed from the period 1951–1980 is 
2451.4 mm (Przybylak  1996a ). Details about the great precipitation in this region 
have been omitted from very well-known Russian atlases (Gorshkov  1980 ;  Atlas 
Arktiki   1985 ), which give the annual sum as about 1200 mm. Also, the modeled data 
do not catch extremely high precipitation in the south-eastern part of Greenland (see 
Bromwich et al.  2001 ). Only Ohmura and Reeh ( 1991 ), Chen et al. ( 1997 ), and 
Ohmura et al. ( 1999 ) show in detail on their maps this area of high precipitation (see 
Fig.  7.4 ). The  reason   for such great sums of precipitation is twofold: (1) the high 
frequency of cyclonic activity, and (2) the orographically forced ascent of air masses 
crossing the Greenland Ice Sheet, which reach an altitude above 2000 m a.s.l. very 
near the coast (170–180 km from Prins Christian Sund) (Przybylak  1996a ). Ohmura 
and Reeh ( 1991 ) note that the south-eastern coast of Greenland is directly hit by the 
onshore fl ow from the northern part of the Icelandic low, with a relatively high 
water-vapour content of 2.1 g m −3 .

    In comparison with earlier maps of precipitation in Greenland (Diamond  1958 , 
 1960 ; Bader  1961 ; Benson  1962 ; Mock  1967 ; Barry and Kiladis  1982 ), more recent 
maps (Ohmura and Reeh  1991 ; Ohmura et al.  1999 ) were constructed using not 
only glaciological data, but also meteorological data. The merging of these two data 

  Fig. 7.3    Spatial distribution of the annual totals of atmospheric precipitation (in mm) in the 
Arctic, 1951–1990 (After Przybylak  1996a )       
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sets signifi cantly improved our knowledge about precipitation in this part of the 
world. There is good agreement between Ohmura and Reeh’s, and Przybylak’s 
results on precipitation in the coastal parts of Greenland (compare Figs.  7.3  and 
 7.4 ). The lowest annual totals of precipitation in Greenland occur in its north- eastern 

   Fig. 7.4     Annual total precipitation (in mm) for Greenland (After Ohmura et al .  1999 )       
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part (<100 mm), which topographically represents the north-eastern slope of the 
ice-sheet. Computing the monthly resultant wind for January and July for  the   level 
of 850 hPa over Greenland (Fig.  7.5 ), Ohmura and Reeh ( 1991 ) found that the area 
in question in both seasons remains in a precipitation shadow, both with respect to 
the southwesterlies and the westerlies. Generally, there is higher precipitation 
(>500 mm) on the slopes of the Greenland Ice Sheet, which is well exposed to the 
main wind streamlines (south-eastern, southern, and south-western). As was previ-
ously mentioned, the greatest annual totals (>2000 mm) are observed in the south 
headland of Greenland (Fig.  7.4 ).

   Recently, maps presenting annual totals of precipitation for the Arctic Ocean 
(Frolov et al.  2005 ) and the entire Arctic (Serreze and Hurst  2000 ; Serreze and 
Barry  2005 ,  2014 ) have been published. The latter proposition is based on available 
bias-adjusted data sources and gives signifi cantly higher precipitation (even more 
than twice as great), in particular for the Atlantic side of the Arctic, including areas 
around the North Pole (see Figure 2.25 in Serreze and Barry  2005 ). 

 The amounts of seasonal precipitation are presented in Fig.  7.6 . The lowest sums 
of  precipitation   occur in spring. This minimum should be rather connected with 
the maximum frequency of anticyclones occurring clearly in this season than with 

  Fig. 7.5    Monthly resultant wind streamlines at 850 hPa for ( a ) January and ( b ) July (After 
Ohmura and Reeh  1991 )       
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the air temperature, the lowest values of which are reached in winter. In addition, the 
fact that sea ice in this season is near its maximum extent is also important. As a 
result, the available moisture is at a minimum. Winter  precipitation   sums are slightly 
higher than those of spring, but their spatial patterns are very similar. Spring totals 
of lower than 50 mm occur in about 70 % of the Arctic (the Arctic Ocean, the 
Siberian region, almost the entire Pacifi c region, and the northern part of the 
Canadian Arctic). Precipitation of above 100 mm falls only in the south-western 
part of the Atlantic region and in the southern part of the Baffi n Bay region. The 
highest seasonal mean totals of precipitation occur in summer (excluding the west-
ern and southern fragments of the Atlantic region). This maximum one can relate to 
the highest temperature, water vapour content, and cloudiness in this season. 
 Summer   totals of precipitation below 50 mm are observed only in the area  spreading 
from the central part of the Siberian region to the north-eastern part of the Canadian 
Arctic, and on the north-eastern coast of Greenland and the surrounding Greenland 
Sea. Amounts of precipitation exceeding 100 mm fall only in southernmost parts of 
the Atlantic and Canadian regions, with highest values (>400 mm) occurring on the 

   Fig. 7.6     Spatial distribution of the winter (DJF), spring (MAM), summer (JJA), and autumn 
(SON) atmospheric precipitation (in mm) in the Arctic, 1951–1990 (After Przybylak  1996a )       
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southern headland of Greenland (Fig.  7.6 ). For the inner part of Greenland, no maps 
exist which present seasonal precipitation totals. However, data for January and July 
( Atlas Arktiki   1985 ) are available. The spatial patterns of precipitation in both 
months are similar to those based on the annual totals (Fig.  7.4 ), i.e., the lowest 
values occur in the north-eastern part and the highest in the southern and western 
parts of Greenland. In January, the amounts of precipitation are  generally lower than 
in July in the northern and central parts and are higher in the southern part of 
Greenland. As a result, spatial differentiation in January is greater and ranges from 
5 mm (north-eastern part) to about 100 mm (southern part), while in July it ranges 
from 10 mm to only 75 mm, respectively.

   Generally speaking, the spatial patterns of precipitation in the Arctic, both sea-
sonal and annual, have a zonal course, i.e. a poleward decrease in precipitation is 
noted. The greatest disagreements with this rule occur in the areas where climate is 
mainly formed by very intense atmospheric circulation. 

 Przybylak ( 1996a ) found analysing the highest and lowest  seasonal and annual 
totals   of precipitation during the period 1951–1990, that in the majority of stations 
(64 %) the maximal annual sums occurred in the coldest decades (1961–1970 and 
1971–1980). In the case of the seasonal totals, the results were the same, but only 
for the occurrence of the lowest seasonal sums of precipitation. The highest ones 
(except for autumn) with a similar frequency occurred in all four decades. Only the 
highest totals of autumn precipitation occurred more often during the warmest 
decades. It is a rather surprising result in the context of the predictions presented by 
the climatic models (see Sect.   11.2    ). The highest annual total of precipitation in the 
Arctic occurred in Prins Christian Sund in 1965 (3299 mm). On the other hand, the 
lowest were noted in Ostrov Chetyrekhstolbovoy (25 mm, 1988) and Eureka 
(31 mm, 1956). The lowest seasonal sums of precipitation during the period studied 
ranged from 1 mm (Resolute A, winter) to 4 mm (Danmarkshavn, autumn). 

 Figure  7.7  presents six regions of coherent annual totals of  precipitation   in the 
 Arctic  . The  Wrocław dendrite method   was used to delimit these regions. One can 
see that regions 1, 2, and 3 consist of two separated parts. This means that telecon-
nections of precipitation occur in the Arctic. Przybylak ( 1997 ) also found that these 
are more common than teleconnections of air temperature.

   The range of variability of both seasonal and annual totals of precipitation is very 
high in the Arctic. The ratio of the highest to the lowest sums of precipitation is 
greatest in the coldest areas of the Arctic, where anticyclones dominate (the north-
ern part of the Canadian Arctic and Siberian region). Przybylak ( 1996a )  computed 
  the variability coeffi cient (v) for all Arctic stations from the formula  v  =  σ / m , where 
 σ  is a standard deviation and  m  is a mean value.  These   coeffi cients were computed 
for the annual and seasonal sums of precipitation over the period 1951–1990 (Figs. 
 7.8  and  7.9 ). The highest variability of the annual sums (>30 %) occurs in the Arctic 
Ocean from the Pacifi c side, in the Pacifi c region, the eastern part of the Siberian 
region, the northern part of the Baffi n Bay region, and the north-eastern coast of 
Greenland. A large variability (about 30 %) is also characteristic of the area lying 
between Zemlya Frantsa Josifa and Severnaya Zemlya. The above-mentioned 
areashave the lowest amounts of precipitation in the Arctic. The annual totals of 
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   Fig. 7.7     Regions of coherent annual totals of precipitation in the Arctic, 1951–1990 (After 
Przybylak 1997).       

   Fig. 7.8     Spatial distribution of the coeffi cient of variability in annual precipitation in the Arctic, 
1951–1990 (After Przybylak  1996a )       
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precipitation have the lowest variability (<20 %) in the southernmost parts of the 
Atlantic region, where the highest precipitation and the greatest occurrence of 
cyclones are noted.

    The dispersion of seasonal precipitation sums is signifi cantly greater than in the 
case of the annual ones. The highest coeffi cients of variability occur in the seasons 
with the lowest precipitation, i.e. in winter and spring. Their values exceed 50 %  in 
  almost the entire Arctic (Fig.  7.9 ). The spatial differentiation of variability is higher 
in spring, ranging from about 100 % in Alaska to 30–35 % in the southernmost areas 
of the Atlantic region. The highest values of  v  of winter precipitation totals do not 
exceed 70 % and occurred in isolated areas located in different parts of the Arctic 
having a continental climate. On the other hand, their lowest values are observed in 
the same areas as in the case of spring, but are slightly higher. The variability of 
summer and autumn precipitation totals is signifi cantly lower than in previous sea-
sons (Fig.  7.9 ), the  v  ranging mainly between 30 and 50 %. Similar to the case of the 
annual sums, the variability of seasonal precipitation is highest in the areas with the 
lowest precipitation. This means that areas with low amounts of precipitation are 
more sensitive to changes in factors determining the precipitation.  

  Fig. 7.9    Spatial distribution of the coeffi cient of variability in winter (DJF), spring (MAM), sum-
mer (JJA), and autumn (SON) precipitation in the Arctic, 1951–1990 (After Przybylak  1996a )       
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7.1.3     Frequency Distribution 

   In climatology, the  frequency    occurrence   of the given element within the arbitrary 
chosen intervals often supplements the information obtained from the analysis of 
the mean values. The relative frequency of occurrence of winter, summer, and 
annual precipitation sums in selected stations representing all distinguished climatic 
regions in the Arctic is presented in Fig.  7.10 . Histograms of the frequency have 
been drawn for 25 mm and 50 mm intervals for seasonal and annual totals, 
respectively.

   In winter, the precipitation totals in the majority of stations, except the southern-
most stations located in the Atlantic region (Jan Mayen and Mys Kamenny), lie in 
the intervals 0–25 mm or 25–50 mm. In the Canadian Arctic this happens in about 
100 % of the stations. Jan Mayen is characterised by the greatest range of change of 
winter precipitation totals (50–300 mm). Precipitation occurs with the highest fre-
quency (only 20 %) in the interval 200–225 mm. 

 Frequency distribution of summer precipitation is clearly more fl at and also 
shows a more normal distribution than winter precipitation. The intervals which 
most often occur rarely exceed 40 %. The greatest range of annual sums of precipi-
tation (500–1000 mm) is characteristic of the warmest parts of the Arctic (Jan 
Mayen), and the lowest (20–200 mm) for the coldest parts (Resolute A). The fre-
quency distribution on the areas with the highest cyclonic activity (Jan Mayen, 
Clyde A) is bimodal. The frequency of occurrence of annual precipitation sums 
within the analysed intervals exceeds 50 % only in the northern part of the Canadian 
Arctic (Resolute A).     

7.2     Number of Days with Precipitation 

 Førland and Hanssen-Bauer ( 2000 )  distinguished three types of precipitation  occur-
ring   in the Arctic: liquid (rain and drizzle), sleet/mixed (sleet, rain + snow), and 
solid (snow). Statistics for all these types for the Arctic are, however, limited. In 
particular there is little information available for the second type. The frequency of 
occurrence of solid and liquid precipitation for the entire Arctic Ocean is presented 
by Serreze and Barry ( 2005 , Figure 6.7), who reproduced maps originally published 
by Serreze et al. ( 1997 ). It results from these that in the central part of the Arctic 
Ocean, solid precipitation clearly dominates in January and varies between 95 and 
99 % from the Pacifi c side. In the northern North Atlantic, including Svalbard, the 
frequency of these days is falling to below 90 % and even 80 % in the southern parts. 
As a result, liquid precipitation at this time of the year is a very rare phenomenon. 
On the other hand, in July it dominates in almost all parts of the Arctic Ocean, apart 
from the central part around the North Pole. Liquid precipitation is very common in 
the Atlantic part of the Arctic (the warmest part of the Arctic Ocean), where its fre-
quency exceeds 80 %, and even largely above 90 % in southern latitudes. 

7.2 Number of Days with Precipitation
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   Fig. 7.10     Relative frequency (in %) of occurrence of winter (DJF), summer (JJA), and annual 
(Year) precipitation in selected stations representing particular climatic regions of the Arctic, 
1951–1990 (After Przybylak  1996a ): ( a ) Danmarkshavn, Jan Mayen, Ostrov Vize, Mys Kamenny, 
and Ostrov Kotelny. ( b ) Barrow, Coral Harbour A, Resolute A, and Clyde A         
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Fig. 7.10 (continued)
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 For the Canadian Arctic, not included in Serreze et al.’s ( 1997 ) maps, Przybylak 
( 2002b ) calculated a ratio of solid to total precipitation for seasons and for the year. 
In winter, solid precipitation occurred with a nearly 100 % frequency, similarly to 
that observed in the Pacifi c side of the Arctic Ocean. In summer, this type of precipi-
tation was noted with a frequency varying between 15 and 20 %, which is thus 
higher than in the Norwegian Arctic (2–10 %), but signifi cantly smaller than in the 
centre of the Arctic Ocean (45–55 %). Solid precipitation was signifi cantly more 
frequent in the Canadian Arctic in spring (80–85 %) than in autumn (60–65 %). 
Throughout the year, solid precipitation prevailed, with a frequency oscillating 
around 60 %. 

 The number of days with precipitation is a very important characteristic of the 
precipitation regime. Three categories of days with precipitation are mostly used: 
≥0.1; ≥1.0, and ≥10.0 mm. In the Arctic, as was mentioned in the previous section, 
light (<1.0 mm) precipitation prevails. More intensive amounts of precipitation 
occur with a signifi cantly lower frequency. Days with precipitation greater than 
10.0 mm are particularly rare. Most authors presenting results for large parts of the 
Arctic give only information about the number of days with measurable precipita-
tion, i.e., ≥0.1 mm (e.g., Bryazgin  1971 ; Maxwell  1980 ;  Atlas Arktiki   1985 ). The 
maximum number of days with precipitation in the Arctic throughout the year 
occurs mainly in one of the months from the second half of the year. On the other 
hand, the minimum number is observed most often in spring. 

 In January (Fig.  7.11 ), the greatest number of days with precipitation (>18) 
occurs in the parts of the Arctic with the highest cyclonic activity (the south-western 
part of the Atlantic region and the southern part of the Baffi n Bay region). A high 
frequency (12–18 days) may also be observed in the central part of the Arctic Ocean, 
the Kara Sea, the eastern part of the Barents Sea, and the continental areas neigh-
bouring these seas, as well as in the central part of the Baffi n Bay region. Areas with 
the most continental climate (the Siberian and Canadian Arctic) have fewer than 9 
days with precipitation. However, the minimum (< 6 days) occurs in the central part 
of Greenland.

   In July (Fig.  7.11 ), generally speaking, an increase of days with precipitation is 
observed in the entire Arctic, except the Atlantic and Baffi n Bay regions, where 
even a decrease is noted, particularly in the area stretching from the southern part of 
the Baffi n Bay region through Iceland to Spitsbergen. The greatest number of days 
with precipitation (>15) occurs in the vicinity of the North Pole, in the south-eastern 
Canadian Arctic, and locally in the western and eastern parts of the Russian Arctic. 
The lowest number (<6 days), similar to January, is observed in the central part of 
Greenland, but the area is larger. 

 The annual number of days with precipitation is, unfortunately, not presented in 
the  Atlas Arktiki  ( 1985 ). Only Bryazgin ( 1971 ) for the non-Soviet Arctic and 
Maxwell ( 1980 ) for the Canadian Arctic give such information. According to 
Bryazgin's map, the greatest number of days with precipitation occurs in the south-
ernmost parts of the Atlantic region (>240). A high frequency (>200 days) is also 
observed in the Atlantic region southward from Spitsbergen and probably in the 
southern Baffi n Bay region. Quite a large number of days with precipitation (180–200) 
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   Fig. 7.11     Number of days with precipitation ≥ 0.1 mm in the Arctic in January and July (After 
 Atlas Arktiki   1985 )       
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occur above 85°N. However, Radionov et al. ( 1997 ) for the Arctic Basin give a 
 signifi cantly lower number (only 152 days). 

 The Canadian Arctic, according to Bryazgin’s data, has about 120 days with 
precipitation in the northern part and more than 140 days in the southern part. A 
signifi cantly lower number of days with precipitation is noted by Maxwell ( 1980 ). 
Generally, on his map, coastal regions in the entire Canadian Arctic have 75–100 
days with precipitation. A greater frequency (up to 150 days) is observed only in 
some mountainous regions neighbouring Baffi n Bay and Davis Strait.   

7.3     Snow Cover 

 The  snow cover   becomes established earliest in the central part of the Arctic in late 
August (Fig.  7.12 ). According to Radionov et al. ( 1997 ), stable snow cover at the 
geographic Pole forms on 20 August. At the height of the Arctic islands (Zemlya 
Frantsa Josifa, Severnaya Zemlya, Novosibirskiye Ostrova), the autumn formation 
of snow cover occurs on around 11 September. Ten days later it becomes established 
near the north of the Svalbard islands, Taymyr Peninsula, and in the Laptev and 
New Siberian seas. On 1 October, snow cover is present over the entire Arctic, 
excluding the southern part of the Baffi n Bay region, and the western and southern 
parts of the Atlantic region. In the Canadian Arctic, according to the map published 
by Maxwell ( 1980 ), the snow cover forms in the northern part (on 1 Sep.), in the 
central part (on 15 Sep.), and in the southern part (on 1 Oct.). The decay of the snow 
cover begins in the south. At the Eurasian Arctic coast melting starts during the fi rst 
10 days of June (Fig.  7.12 ). In the Canadian Arctic, the decay begins about half a 
month later (on 15 June). In July, snow cover still exists only above 80°N. This is 
also true of the Canadian Arctic. In the central Arctic, the decay of snow cover is 
delayed until the mid-July. At the North Pole, on average, the snow cover decays 
around 18 July (Radionov et al.  1997 ).

   From this information it may be concluded that the number of days with  snow 
cover   is greatest in the vicinity of the Pole (more than 350 days) (Fig.  7.13 ). A 
period of more than 300 days occurs northward from the Arctic islands (above 77°N 
in the Russian and Canadian Arctic and above 83°N in the Atlantic region). The 
coastal part of the Russian Arctic has about 260–280 days with snow cover, while 
in the north-eastern part of the Canadian Arctic the period is longer by about 20 
days (280–300 days). In the Atlantic region, the number of days with snow cover is 
lowest and varies from 200 to 240 days. Of course, this characteristic concerns the 
formation of snow cover on the coastal parts of land and on the sea ice. Mountainous 
areas have a longer period of snow cover. For example, in the Canadian Arctic the 
duration of snow cover can reach 320 days (Maxwell  1980 ).

   Besides the duration of the snow cover, a very important characteristic is also its 
thickness. The maximum snow cover  thickness   is generally observed from April to 
May, except in the Canadian Arctic, where it is observed most often about one month 
earlier (Maxwell  1980 ). The highest rates of snow accumulation in autumn are 
observed in the Siberian region (Radionov et al.  1997 ), where from September to 
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November the snow-cover thickness increases, on average, by 14–16 cm. In the cen-
tral Arctic Ocean and in its part from the Pacifi c side, the monthly increase in snow 
cover thickness is smaller and oscillates on average by about 5 cm. During the fol-
lowing months, the rates of snow accumulation over the entire Arctic mostly decrease. 
The long-term (1954–1991) mean monthly snow cover thickness for May, when the 
snow accumulation is maximal, is greatest in the central part of the Arctic Ocean 
(about 40 cm) (Fig.  7.14 ). According to more recent calculations (Warren et al.  1999 , 

   Fig. 7.12     Average dates of stable snow-cover formation ( a ) and its decay ( b ) in the Arctic, 1954–
1991 (After Radionov et al.  1997 )       
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  Fig. 7.14    Distribution of the mean snow-cover depth (in cm) in the Arctic during May, 1954–1991 
(After Radionov et al.  1997 )       

  Fig. 7.13    Mean annual number of days with the snow cover in the Arctic, 1954–1991 (After 
Radionov et al.  1997 )       
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their Figure 9) and Frolov et al. ( 2005 , their Figure 2.18), this maximum is located 
rather in the area between the North Pole and the northern parts of Greenland and the 
Canadian Arctic Archipelago. Moreover, in this area the mean snow depth is greatest 
in June (40–46 cm). In the Arctic islands, the mean snow cover thickness in May is 
equal to about 30 cm. On the coastal parts of the Russian Arctic, the northern and 
western parts of the Canadian Arctic and Alaska, it varies from 20 to 35 cm. In the 
eastern part of the Canadian Arctic (the eastern coast of Baffi n Island and Ellesmere 
islands), the snow cover is higher than it is near the North Pole and, according to the 
data presented by Maxwell ( 1980 , his Figure 3.136), oscillates from 50 to 70 cm on 
April 30 (mean from 1955 to 1972). Similar values also occur in Spitsbergen 
(Pereyma  1983 ; Leszkiewicz and Pulina  1996 ). Thus, probably here, particularly in 
the south-eastern part of Baffi n Island, southern Spitsbergen or somewhere in the 
southern part of Greenland (there is no data), the snow cover reaches the  highest   
thickness in the Arctic. Very frequent cyclonic activity bringing warm and humid air 
masses from the Icelandic low and favourable orographic conditions (mountainous 
ridges and slopes well exposed to the main air streamlines) are the most important 
factors responsible for this situation. The snow cover thickness described above con-
cerns only the accumulation of snow on the areas covered by sea ice and tundra. In 
the mountainous regions, the snow cover thickness is signifi cantly greater (up to 2–3 
times and more) (see e.g. Pereyma  1983 ; Grześ and Sobota  1999 ).

   The least studied characteristic of the snow cover, but one that is also very impor-
tant, particularly for the computation of the water budget, is its density. Throughout 
the year, the snow density increases signifi cantly from September to December (from 
about 0.2 to 0.3 g cm −3 ), then from December to April the rate of increase is signifi -
cantly lower. The second largest increase occurs from May to the end of June (from 
0.3 to 0.4 g cm −3 ) due to snow melting (Loshchilov  1964 ; Radionov et al.  1997 ; see 
also Fig.  7.15 ). The  long-term mean snow density for   the whole  accumulation period 
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  Fig. 7.15    Long-term (1954–1991) mean snow density in the Arctic for each month ( large solid 
dots ). All available density measurements for each month are used, irrespective of year and geo-
graphical location.  Error bars  indicate one standard deviation. Values of Loshchilov ( 1964 ) based 
on measurements at stations NP-2 through NP-9 are shown for comparison as dashed line (After 
Warren et al.  1999 )       
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changed little across the Arctic Basin, from 0.31 to 0.33 g cm −3 . The spatial distribu-
tion of the mean snow density for the month of May presented recently by Warren 
et al. ( 1999 ) confi rms  entirely   the correctness of earlier investigations (Fig.  7.16 ). 
Non-average densities of snow cover show a signifi cantly greater change from only 
0.05–0.09 g cm −3  for fresh snow to 0.50–0.55 g cm −3  for melting snow.
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    Chapter 8   
 Air Pollution       

               Until recently, the Arctic environment was treated as a pristine place unspoiled by 
man. If we take diaries or logbooks of polar explorers from the nineteenth and early 
twentieth centuries, we will fi nd a large number of phrases underlying the Arctic’s 
cleanliness, its crystal air, and sparkling ice. Opinions about the lack of pollution in 
the Arctic continued to be held to the beginning of the 1970s, although the fi rst 
documented report of arctic air pollution (coining the term “Arctic haze”) was pub-
lished in 1956 (Mitchell  1956 ). The renewed interest in the nature and origin of the 
 “Arctic haze”   was caused by the growing evidence found during this time that air 
pollution is not only confi ned to small areas around urban or industrial sources, but 
can be transported long distances before being removed to the Earth’s surface. This 
discovery allows us to conclude that the Arctic atmosphere can be polluted, even 
though it does not have local sources of pollution. Some scientists returned to the 
observation of “Arctic haze” made by Mitchell in the early 1950s and the  “ice crys-
tal haze”   by Greenaway (a Canadian fl ight lieutenant) in the late 1940s and pointed 
out that they were not only just an indication of ice crystals or of wind-blown dust, 
but rather of air pollution originating from the mid-latitudes. From this time, there 
has been a decline in the view that the Arctic is a place where the original state of 
the globe exists and can be used as reference to measure the human infl uence on 
planet Earth. 

 The growing awareness that human activity can also destroy the environment of 
the most remote areas of the world has motivated scientists to begin more detailed 
studies of this problem. In the last 40 years, the efforts undertaken by large number 
of scientists representing different disciplines (e.g. glaciologists, meteorologists, 
and atmospheric chemists), led to a signifi cant increase in our knowledge  concerning 
air pollution in the Arctic. During this period, hundreds of works were published. In 
spite of this great scientifi c interest, particularly in the problem of “Arctic haze”, there 
are still many questions unsolved (for details see e.g. Karlqvist and Heintzenberg 
 1992 ; Law and Stohl  2007 ; Quinn et al.  2007 ; Hole et al.  2009 ; Hoffmann et al.  2012  
or Stock et al.  2014 ). At present, there exist several good reviews of the current state 
of knowledge, where the reader can fi nd more details than will be given here 
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(e.g., AGASP  1984 ; Barrie  1986a ; Stonehouse  1986 ; Heintzenberg  1989 ; 
Jaworowski  1989 ; Sturges  1991 ; Barrie  1992 ; Shaw  1995 ; Law and Stohl  2007 ; 
Hole et al.  2009 ; Jacob et al.  2010 ). 

 Jaworowski ( 1989 ) has distinguished four types of pollutant sources in the  Arctic 
environment  : (1) local natural, (2) local anthropogenic, (3) remote natural, and (4) 
remote anthropogenic. Most scientists assume that the currently observed levels of 
pollutants, which are signifi cantly higher than they were before the industrial age 
(see Figure 16 in Hole et al.  2009 ), is caused by the fourth type of source and there 
is some evidence to support this. However, not all scientists share this opinion (see 
Jaworowski  1989 ). From a climatological point of view, the most important pollut-
ants in the Arctic are long-lived greenhouse gases (e.g., carbon dioxide, methane, 
and freons) on the one hand, and short-lived gases building up the “Arctic haze” on 
the other. As we know, the  greenhouse gases   exhibit a much more even geographical 
distribution and their concentration in the Arctic is at the same level as in the other 
regions. For this reason, every publication analysing the variation of concentration 
of these gases (in daily, seasonal, and longer time scales), their sources and sinks, 
etc. can be taken to characterise greenhouse gases in the Arctic. Here, one should 
only mention that systematic measurements of carbon dioxide concentration in the 
near surface Arctic air were started in 1961 near Barrow, Alaska. Such measure-
ments of other radiatively active gases began signifi cantly later (in 1970s or in 
1980s).  Another    important   fact is that the increase in the concentration of green-
house gases will cause signifi cantly greater warming in the Arctic than in the lower 
latitudes. Such a prediction for CO 2 -doubling is given in most of the climatic mod-
els (see Chap.   11    ). 

 The present chapter, on the other hand, will focus on the problem of the “Arctic 
haze” as a well-defi ned case of  air pollution   in the Arctic,  which   infl uences climate 
through changes in the radiation balance of the atmosphere. The chemical composi-
tion of the “Arctic haze” was fi rst analysed by Rahn et al. ( 1977 ) based on measure-
ments carried out at Barrow between 12 April and 5 May 1976. Its average 
composition is presented in Fig.  8.1 . The  major    components   are sulphates (31 %), 
nitrates (6 %), and elemental carbon (2 %). Still, about 60 % of the particles of the 
“Arctic haze” are unidentifi ed but are believed to have an organic origin. A consid-
erable fraction of the undetermined part may be water. The size of haze particles 
oscillates from 0.05 to 1 μm and is a result of the combined effects of sources, 
transformations, and sink processes (Heintzenberg  1989 ). During the transport from 
a distant source (5–10 days), most of the smallest (<0.05 μm) and largest (>1 μm) 
particles are eliminated by coagulation and sedimentation, respectively.

   The strong seasonal variation of haze pollution was fi rst observed at Barrow in 
the late 1970s. Later on, the measurements carried out in other parts of the Arctic 
showed that this trend exists in the entire Arctic. For example, the long chemical 
time series (1978–1984) of Arctic air pollution available from Ny Ålesund, 
Spitsbergen (Ottar et al.  1986 ) fully confi rmed this statement. Figure  8.2  presents 
seasonal  variation   of sulphate concentration, which is the  main   component of the 
“Arctic haze”. The maximum sulphate concentration was measured at Ny Ålesund 
in March and the minimum from June to September. Winter concentrations are 

8 Air Pollution

http://dx.doi.org/10.1007/978-3-319-21696-6_11


167

10–20 times greater than those in summer. Another important contaminant that is 
part of the “Arctic haze” is black carbon, which also has a clear seasonal cycle (see 
Figure 1 in Law and Stohl  2007 ). Measurements made in Alert (in the Canadian 
Arctic) showed a markedly greater concentration of this contaminant from December 
to April (about 100 ng m −3 ), and about 10-times less in the period from June to 
October. In addition, it was recognised that during winter the “Arctic haze” particles 
were mostly of man-made origin, while in summer they mainly came from natural 
sources. To explain the reason for this seasonal difference, an analysis of pollution 
sources and their transport pathways must be taken into account, along with some 
meteorological criteria. According to Raatz ( 1991 ), industrial source regions cover-
ing large areas of the mid-latitudes appear to be the major contributors to arctic air 
pollution (northeastern USA/southeastern Canada, western and eastern Europe, 
western Russia, Ukraine, southern Urals, western Siberia, Korea, and Japan). To 
this list eastern China should also be added, according to some other sources (e.g., 
Rahn and Shaw  1982 ; Barrie  1992 ; Hole et al.  2009 ). The  annual emission of SO 2    
(the main component of the ‘ Arctic haze’) is   highest in  these   regions (Fig.  8.3 , see 
also Figure 2 in Hole et al. ( 2009 ) which shows emission of SOx and NOx for 

  Fig. 8.1    The major chemical components in Arctic haze particles < 1 μm radius. Their average 
total mass is 8 μg m −3 . 30 %  m  were not determined in the chemical analyses; 29 % m  are not speci-
fi ed in this graph (After Heintzenberg  1989 )       

 

8 Air Pollution



168

2000). In addition, recent results (Law and Stohl  2007 ; Warneke et al.  2010 ) show 
that biomass burning events in Russian and Canadian forests are also signifi cant 
sources of pollution (mainly of soot containing black carbon) in the Arctic air. It has 
also been shown that forest fi res can inject emissions into the upper troposphere, 
and even into the stratosphere (Fromm and Servranckx  2003 ). As a result, the life-
time of injected contaminants can be months, and this prolongs their radiative effect 
signifi cantly (Law and Stohl  2007 ). From other distinct natural sources of “Arctic 
haze”, Raatz ( 1991 ) gives also the deserts of northern and western China and those 
of the southern Russia, as well as the Sahara desert of Africa.

    The importance of each of the above sources in contributing to Arctic air pollu-
tion depends on its strength, proximity to the Arctic region (or Arctic masses), and 
the frequency of synoptic situations favouring a poleward fl ow. The magnitude of 
the poleward transport of pollution from mid-latitudes depends signifi cantly on the 
seasonal variation of the polar front (Rahn and McCaffrey  1980 ; Law and Stohl 
 2007 ; Hoffmann et al.  2012 ). In winter, the polar front is shifted to the south (40–
50°N) and the most industrial regions lie to the north of them. In such a situation, 

   Fig. 8.2     Seasonal variations of Arctic haze in terms of sulphate concentrations measured at Ny 
Ålesund, Spitsbergen during the years 1978–1984. Data from Ottar et al. ( 1986 ). The concentra-
tions are given as SO 4  =  – S in μg m −3 . The measurement values fall within the shaded area (After 
Heintzenberg  1989 )       
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the polluted air masses can easily reach the Arctic. The main pathways for  the   transport 
of  pollution   aerosols between the mid-latitudes and the Arctic are shown in Fig.  8.4 .

   Moreover, the strong surface-based temperature inversions frequently occurring 
in this time (see Chap.   4    ) cause the atmosphere to stabilise, which, in turn, inhibits 
the turbulent transfer between the atmospheric layers. As a result of this, and also of 
the occurrence of only light precipitation, the removal of gases and aerosols from 
the Arctic atmosphere is greatly weakened. In summer, the polar front is situated to 
the north of the most important industrial centres and the transport of polluted air is 
signifi cantly smaller. In addition, the pollution which reaches the Arctic during this 
time will be washed out rapidly because the region has much more rain and snow in 
summer than in winter. For details of the climate and meteorology of the arctic air 
pollution, see e.g. Raatz ( 1991 ), Rinke et al. ( 2004 ), Lubin and Vogelmann  2006 ; 
Law and Stohl ( 2007 ), Jacob et al. ( 2010 ). 

 The question still remains as to whether the haze comes mainly from one region 
or from a combination of regions. In the early 1980s, atmospheric scientists 

  Fig. 8.3    Annual emissions of SO 2  (10 6  tonnes) in regions of the Northern Hemisphere that infl u-
ence the Arctic (After Barrie  1986b )       
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 proposed the following scenario, which is cited here after Barrie ( 1992 ): “Eastern 
North American and South-East sources share similar features that make them less 
likely to contribute much haze pollution to the northern region. They are at lower 
latitudes (25°–50°N) than Eurasian sources (40°–65°N) and on the eastern side of 
continents immediately upwind of stormy oceans (Atlantic and Pacifi c). Their 
industrial waste blows mostly to the east, where it is washed out by rain over the 
oceans. In contrast, Eurasian pollution blows to the north-east over land which in 
winter is a cold, snow-covered polar desert. It encounters little rain or snow to wash 
it from the atmosphere. In summer, movement of Eurasian pollution to the Arctic is 
weaker, because winds blow less frequently to the north and because there is more 
rain to remove it on its pathway northwards.” Barrie et al. ( 1989 ), working on  the   
 chemical transport model,   found that most of the pollution in a year (96 %) entered 
the Arctic from Eurasia; the reminder (4 %) came from North America (Fig.  8.5 ). 
The haze pollution coming from Eurasia was approximately evenly split between 
western Europe, eastern Europe, and the former USSR.

   One should mention here that not all scientists share these views on the above 
scenario (see Jaworowski  1989 ; Khalil and Rasmussen  1993 ). Jaworowski ( 1989 ) 
writes that “…the current studies do not provide any evidence which unequivocally 

  Fig. 8.4    Major sources and pathways for transport of pollutants between mid-latitudes and the 
Arctic (After Rahn and Shaw  1982 )       
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identifi es the respective contributions from anthropogenic and natural emission 
sources, to the long-range transport of impurities into the arctic atmosphere”. One 
of the most important arguments for the anthropogenic origin of the “ Arctic haze” 
is the    enrichment   of vanadium. Rahn and Shaw ( 1982 ) stated that the enrichment 
factor for vanadium (over 1.5 times) provides an extremely sensitive test of anthro-
pogenic pollution against the natural character of aerosol. Jaworowski ( 1989 ) criti-
cises this assumption because it is not in agreement with the results of studies 
indicating that many heavy metals, including vanadium, are enriched by up to sev-
eral orders of magnitude in the airborne dust, both over industrialised areas and in 
remote ones such as the South Pole, central Greenland, and mid-oceanic localities. 
This means rather that this enrichment is due to natural processes (Duce et al.  1975 ; 
Jaworowski et al.  1981 ). Jaworowski ( 1989 ) further writes that “…also the ratios of 
concentrations of particular elements in  aerosol samples   and  their   distribution in 
variously sized fractions of particles, have only a hypothetical character and are of 
uncertain value for detailed identifi cation of emission sources of arctic pollutants”. 
Seasonal variations of  air pollution   in  the   Arctic also cannot be used as an indicator 
of the anthropogenic infl uence because such variations occur in the lower latitudes 
too. In addition, Jaworowski ( 1989 ) adds that the precipitation patterns in the Arctic 

   Fig. 8.5     The amount of sulphur entering the Arctic circle on the wind during one year (July 
1979 – June 1980) according to latitude. Results are given for all pollution and then for each of the 
major source regions that, combined, contribute 96 % of the total sulphur entering the Arctic (After 
Barrie  1992 )       
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may also contribute to the spring maximum of pollutants in the air. The surface- 
based temperature inversions and anticyclonic situations, both of which occur very 
frequently in spring, also have a similar infl uence on pollution. The general conclu-
sion of the Jaworowski ( 1989 ) critique is that a quantitative estimate of the relative 
contributions of human and natural sources to arctic pollution with heavy metals, 
mineral, acids, etc. will not be possible until the long-term observations of the tem-
poral trends of contaminants in the arctic air become available. 

 From the list of unresolved issues concerning the “Arctic haze” (e.g., very 
incomplete knowledge about horizontal and vertical distribution and even about 
the components of the “Arctic haze”) by Heintzenberg ( 1989 ), one can understand 
the point of the Jaworowski’s ( 1989 ) critique. Thus Jaworowski’s view, to a certain 
degree, has been confi rmed by the measurements and analyses of 30 gases in 
“Arctic haze” and in clean Arctic air made during the  Arctic Gas and Aerosol 
Sampling Program (AGASP)    during   the  spring   of 1983, 1986, and 1989 (Khalil 
and Rasmussen  1993 ). To look for the possible origins of the haze, Khalil and 
Rasmussen ( 1993 ) used cluster analysis to derive regional signatures of trace gases 
at ground-based sites in the middle and high northern latitudes. Based on this anal-
ysis, they have argued that trace gases in the “Arctic haze” do not come from North 
America and China and are unlikely to come from western Europe. Further they 
concluded that Arctic pollution must originate from eastern European and Russian 
industrial regions. For the present discussion, the most important point to note is 
their fi nding that the haze originates not at distant locations in Russia, but from 
within the Arctic Circle. Khalil and Rasmussen ( 1993 ) argued that industrial activ-
ity in the Kola Peninsula (with the large city of Murmansk), involving power 
plants, mining operations, and military- industrial products, can emit large amounts 
of haze-producing pollutants into the Arctic atmosphere and may thus cause the 
“Arctic haze”. Harris and Kahl ( 1994 ) also found that the  Ni-Cu smelting complex    
at Norilsk may be one of the  major   contributors to the haze. Based on the above 
factors, the existing opinion, expressed recently by Raatz ( 1991 ), that local sources 
within the inner Arctic are usually point sources which are only of local impor-
tance and contribute little to the arctic-wide phenomenon called the “Arctic haze”, 
must be revised. More recent results confi rm the opinion presented by Barrie et al. 
(1989, see also Fig.  8.5 ) that the most signifi cant source region of pollution in the 
Arctic is Eurasia (Law and Stohl  2007 ; Hole et al.  2009 ; Jacob et al.  2010 ; Warneke 
et al.  2010 ), only Asia (Stock et al.  2011 ), or both the Europe and western Asia 
(Hoffmann et al.  2012 ). According to Jacob et al. ( 2010 ), sources of pollution at 
mid-latitudes have been rapidly changing in recent years, with increases in Asia 
driven by industrialization and decreases in North America and Europe driven by 
air quality regulations. Stock et al. ( 2014 ) in their latest paper found that “direct 
transport of pollutants from Europe does not play an important role” in the 
European Arctic. Surprisingly, their data clearly showed that source regions of pol-
lutants were Siberia or the central Arctic. In addition, greater aerosol optical depth 
was measured on mainland Scandinavia than in Ny Ålesund (Svalbard). Stock 
et al. ( 2014 ) concluded that “either the pollution pathways of aerosol are more 
complex, or aerosol is signifi cantly altered by clouds”. 
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 The climatological importance of the “Arctic haze” results from its infl uence on 
the radiation balance of the atmosphere, in  both   its short-wave and long-wave com-
ponents. In  the   solar range (0.3–3.0 μm), haze particles both refl ect part of the 
incoming radiation back to space and absorb it, mainly by the black element carbon 
(soot). In the terrestrial infrared spectrum (>3 μm), haze particles can increase the 
radiative cooling effi ciency of the atmosphere at high relative humidities (Blanchet 
and List  1987 ; Blanchet  1991 ). In moist air, the “Arctic haze” forms small droplets 
or ice crystals that have a volume up to two orders of magnitude larger than dry 
aerosol particles. As a result, a substantial increase of aerosol optical depth occurs 
that is particularly effective in the 8–12 μm window region. Because of the surface 
temperature inversion, the top of the haze layer can be 10–20 °C warmer than the 
surface temperature. Since haze layers act as grey bodies to thermal radiation, they 
can increase the outgoing long-wave radiation by 1–2 Wm −2  (Blanchet and List 
 1987 ). Most authors (e.g., Blanchet  1991 ; Shaw  1995 ) estimate that the net effect of 
the “ Arctic haze” on the   radiation balance of the  atmosphere   is positive. However, 
Karlqvist and Heintzenberg ( 1992 ) have concluded that “…at present it is not pos-
sible to predict with any certainty whether the effects of ‘Arctic haze’ are positive or 
negative; in other words whether this form of pollution adds to the greenhouse effect 
or contributes to a cooling of the atmosphere.” Recently, Rinke et al. ( 2004 ) con-
fi rmed this statement concluding that the climatic effect of the “Arctic haze” is (1) 
not negligible, and (2) shows “pronounced, regionally variable cooling and warm-
ing” estimated by them at values of ±1 K. However, it must be added here that they 
only calculated the direct radiation effect of the aerosol. Therefore, when the large, 
positive, indirect aerosol effect on long-wave radiation estimated recently by Lubin 
and Vogelmann ( 2006 ) at 3.4 Wm −2  (comparable to the effect of greenhouse gases) 
is taken into account, the opinion of some of the previously mentioned researchers 
on the positive net effect of the “Arctic haze” obtains strong support. More recent 
calculations made by Stone et al. ( 2013 ) show, however, that “aerosol should con-
tribute to signifi cant net surface cooling during the annual cycle”. From this short 
review, it is evident that our knowledge of the impact of aerosol on the Arctic cli-
mate is still limited and needs further investigation. For more details about relations 
between “Arctic haze” and climate see, e.g., Blanchet and List ( 1987 ), Valero et al. 
( 1988 ), Blanchet ( 1991 ); Rinke et al. ( 2004 ), Lubin and Vogelmann ( 2006 ), or 
Jacob et al. ( 2010 ). 

 Pollutants may also get into the Arctic via river runoff and oceanic circulation. 
According to Gobeil et al. ( 2001 ), these pathways, especially the ocean, may, over 
a longer period of time, be more important than the atmosphere pathway. For more 
details, see the cited paper.    
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    Chapter 9   
 Climatic Regions       

               From the descriptions which have been presented earlier of the different elements of 
the Arctic climate, one can see that their spatial changes are extremely heteroge-
neous. Surprisingly, the greater horizontal gradients occur in winter, when the dif-
ferentiated infl uence of the solar energy is meagre or equal to zero (polar night). 
During this time, the differences in observable meteorological fi elds are caused 
mainly by the atmospheric circulation and, to a signifi cantly lesser degree, by the 
oceanic circulation. This is connected with the fact that in the cold half-year, the 
cyclonic activity is more intensive and frequent than in the warm half-year. In addi-
tion, the temperature contrast between the Arctic air and the advected air from the 
moderate latitudes is highest during this time. The same may also be observed in the 
case of oceanic circulation. In turn, the effect of the underlying surface is not large 
since snow and sea-ice cover almost the entire Arctic. 

 On the other hand, in the warm half-year, the solar radiation factor is most impor-
tant and causes the greatest heterogeneity of the meteorological elements in all spa-
tial scales: micro-, topo-, and macroclimatic. The underlying surface, which is 
signifi cantly differentiated (snow, ice, tundra, and water), increases the infl uence of 
solar radiation. However, because of the attenuated infl uence of the atmospheric and 
oceanic circulation and the larger areas of the Arctic Ocean and seas not covered by 
sea ice (open water), the climatic differences between the regions are less in sum-
mer than in winter. On the other hand, the greatest horizontal gradients of the mete-
orological elements are observed in the coastal areas in the macroclimatic scale and 
between glaciated and non-glaciated areas in the topoclimatic scale (Baranowski 
 1968 ; Przybylak  1992 ). 

 There is very little literature concerning the  climatic regionalisation   of the Arctic. 
Only Prik ( 1960 ,  1971 ) investigated this problem for the entire Arctic. The results 
of her work have been published more recently in the  Atlas Arktiki  ( 1985 ). Prik 
( 1960 ), using peculiarities of the atmospheric circulation and the distribution of the 
main meteorological elements, distinguished fi ve main  climatic regions  : Atlantic, 
Siberian, Pacifi c, Canadian-Greenland, and Interior Arctic. In her next paper 
devoted to the climatic regionalisation of the Arctic, Prik ( 1971 ) delimited seven 
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climatic regions. The sixth and seventh regions were distinguished by dividing the 
Canadian-Greenland region into three new ones: Canadian, Baffi n Bay, and 
Greenland. The climatic regions  and sub-regions   (in the case of some regions) pre-
sented in the  Atlas Arktiki  ( 1985 ) were delimited based on the analysis of the distri-
bution of mean long-term fi elds of almost all climatic elements, their seasonal 
changes, as well as the character of variability of these elements. 

 For the  Canadian Arctic  , Maxwell ( 1982 ) distinguished a number of climatic 
regions. The major  climatic controls   which he takes into account are as follows: 
cyclonic and anticyclonic activity, the sea ice-water regime, broad scale physio-
graphic features, and net radiation. In addition, the secondary sectioning was made 
using information about local topography, aviation weather, maritime infl uences, 
temperature, precipitation, snow cover, and wind. He delimited fi ve climatic regions, 
and within each of them (except region III) at least two sub-regions. There are no 
similarities between  Maxwell’s climatic regionalisation   of this part of the Arctic and 
that of Prik ( Atlas Arktiki   1985 ). The reason for this is probably the different criteria 
used for the delimitation of the climatic regions and the more detailed and subjec-
tive character of Maxwell’s regionalisation. 

 A more detailed description of the climate in the Arctic for the seven above- 
mentioned regions (see also Fig.   1.2    ) is presented in the following sections. 

9.1     The Atlantic Region 

   In the cold half-year,  the    most   striking feature of this region is its extreme high 
temperatures (relative to other parts of the Arctic) related to strong and vigorous 
cyclonic activity and the warm ocean currents which are branches of the Gulf 
Stream (see Fig.   4.4    ). For example, the mean monthly air temperatures in Spitsbergen 
are about 20 °C higher than in the Canadian Arctic at the same latitude. The anoma-
lies get smaller to the north, northeast, and east because the infl uence of cyclonic 
activity and warm oceanic currents is reduced. On the other hand, the cold East 
Greenland and East Spitsbergen currents signifi cantly cool the areas where they 
occur. The intense cyclonic activity also brings exceptionally great cloudiness and 
heavy precipitation to the Atlantic region. The wind speeds occurring here are the 
highest in the entire Arctic. Also the variability of some meteorological elements (in 
particular the air temperature) is greatest here (see Fig.   4.7    ). The Atlantic region is 
characterised by the lowest degree of climate continentality (see Fig.   4.2    ). The 
ocean between Jan Mayen and Björnöya has almost a “pure oceanic” type of cli-
mate. For example, the mean monthly temperatures (1951–1980) at Jan Mayen 
range between −6.1 °C (February) and 4.9 °C (August) with absolute maximum and 
minimum temperatures reaching only 18.1 °C and −28.4 °C (1922–1980), respec-
tively (Steffensen  1982 ). Prik ( Atlas Arktiki   1985 ), taking into account the spatial 
differentiation of the climatic conditions in this region, delimited four sub-regions: 
southern, western, northern, and eastern. 
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 The  southern sub-region   is the largest one (see Fig.   1.2    ) and can be characterised 
in brief as the warmest, cloudiest, and rainiest area in the entire Arctic. The average 
air temperatures of the winter months in the southern parts of this sub-region oscil-
late between −1 °C and 0 °C and in the northern part between −8 °C and 
−10 °C. Storms and heavy precipitation, often occurring in the form of wet snow 
and sometimes as rain, are frequent here. The highest variability of temperature in 
the entire Arctic (see Fig.   4.7    ) is in the border areas of the southern and northern 
sub- regions, where there is the greatest changeability of thermally contrasted air 
masses infl owing from northern and southern sectors. 

 The  western sub-region   is signifi cantly smaller than the southern one, but has an 
area similar to the two others (the northern and eastern regions). Prik ( 1971 ) has 
distinguished this sub-region for three reasons: (1) maximum horizontal tempera-
ture gradients, (2) signifi cant variability in the average monthly and diurnal tem-
peratures, and (3) clear predominance of severe northern winds. In comparison with 
the previous sub-region, lower temperature, cloudiness, and precipitation character-
ize the western sub-region. On the other hand, the greatest variability of precipita-
tion is observed here (see Figs.   7.8     and   7.9    ). 

 The  northern sub-region   includes the eastern half of Spitsbergen, other Svalbard 
islands, Zemlya Frantsa Josifa, the northern parts of the Barents and Kara seas, and 
the part of the Arctic Ocean adjoining them. The climatic conditions are more 
severe here than in the southern sub-region because the infl uence of both atmo-
spheric and oceanic circulation is signifi cantly weaker and, in the case of the latter 
factor, it is even absent. On the other hand, cyclones reaching this sub-region have 
an occluded stage. This, according to Prik ( 1971 ), creates considerable fl uctuations 
in temperature, an increase in cloudiness, and an intensifi cation of winds. Air tem-
peratures are lower than in the other two sub-regions and rapidly decrease from 
−10 °C and −12 °C in the south-western part to −25 °C in the north-eastern part. The 
winds blow mainly from south-easterly and easterly directions and their speed is 
lower than in other sub-regions. Cloudiness is quite extensive (60–65 %). The inter-
esting feature of this sub-region is the fact that in winter it is characterised by the 
greatest temperature variability, while in summer the temperature variability is the 
lowest in the entire Arctic. 

 The  eastern (or Kara) sub-region   includes the eastern half of Novaya Zemlya, the 
Kara Sea up to the Taymyr Peninsula, and the part of continent that is washed by it. 
Climatic conditions are most severe in this sub-region because Novaya Zemlya acts 
as a climatic barrier. It signifi cantly reduces the entering of warm water from the 
Barents Sea and also, to a lesser degree, the movement of travelling cyclones along 
the Iceland-Kara Sea trough.  Cyclones  , which reach this sub-region passing Novaya 
Zemlya island from its northern and southern sides, together with the cyclones 
developing in the south-east of this sub-region, cause quite large diurnal variation in 
temperature, severe winds (mainly south-westerly or southerly), an insignifi cant 
occurrence of cloudy days, and frequent, although not heavy, precipitation. 
Correlation analysis reveals that the temperature relationship of this sub-region is 
greater with the Siberian region than with the Atlantic region (Przybylak  1997 ). 
Therefore, it is proposed that this sub-region be included within the Siberian region. 

9.1 The Atlantic Region

http://dx.doi.org/10.1007/978-3-319-21696-6_1
http://dx.doi.org/10.1007/978-3-319-21696-6_4
http://dx.doi.org/10.1007/978-3-319-21696-6_7
http://dx.doi.org/10.1007/978-3-319-21696-6_7


180

 The above characterisation of the climate of the Atlantic region and its sub- 
regions is based mainly on winter conditions, which occur throughout most of the 
year. In addition, under these conditions the spatial differentiation of the climate is 
signifi cantly the greatest. For this reason, the summer climate is presented only for 
the Atlantic region as a whole. In summer, because of the decrease in the meridional 
gradient of temperature between moderate and high latitudes, the cyclonic activity 
is less intense. On the other hand, the frequency of cyclones is only slightly lower 
than in winter due to the drop in air pressure in the Arctic. The infl uence of warm 
currents is also limited in summer. This is true both of their magnitude and their 
spatial occurrence. The most important factor differentiating the climate is the 
incoming solar radiation (the polar day). As a consequence, a zonal distribution of 
meteorological elements is observed (see Fig.   4.4    ). For example, the temperatures 
decrease to the north from 8 to 10 °C (southern part) to about −1 °C and 0 °C (north-
ern part). The cold East Greenland and East Spitsbergen currents considerably 
reduce the air temperature. In summer, the winds blow from the opposite directions 
than in winter, i.e., from the north and east. Cloudiness over the ocean and seas is 
very high (75–85 %), while on land (both in coastal and inland areas) it rapidly 
decreases to about 60–65 %.    

9.2     The Siberian Region 

   This region  is   located  far   from the Atlantic and Pacifi c oceans. Therefore, this area 
is characterised by one of the most extreme continental climates on earth. The win-
ter climate is dominated by the Siberian high, which undoubtedly mostly deter-
mines the climatic regime of the region.  Cyclones   are a rather rare phenomenon 
and, if they occur, they travel mainly along the Lena and Kolyma rivers. The infl u-
ence of the Siberian high is seen in the directions of winds, which are here mostly 
from the southern sector and have moderate speeds (about 5 ms −1  in the maritime 
areas and below 3 ms −1  in the continental areas). In comparison with the Atlantic 
region, the annual cycle of wind speed in this region is the opposite: lower winds 
occur in winter and higher ones in summer. Air temperatures are among the lowest 
in the Arctic and drop below −30 °C. On the continent, they rapidly decline in direc-
tion to the centre of the Siberian high, where near Oimekon and Verkhoyansk the 
lowest temperatures in the Northern Hemisphere occur. However, this area lies out-
side the Arctic. The variability of air temperature and pressure is lower here than in 
neighbouring regions. As a result of the domination of anticyclonic circulation, low 
cloudiness (35–45 %) and precipitation (<10 mm/month) is observable. 

 In summer, anticyclones still prevail but cyclones also occur very often (see Fig. 
  2.3b, d    ), mainly in the southern part of the Siberian region. The highest occurrence 
of anticyclones is noted over the Laptev and East Siberian seas; they rarely enter the 
continental part. Such a synoptic situation determines the prevalence of winds from 
the northern and eastern sectors. Thus, on the continental part, a monsoon-like 
change of wind directions between winter and summer is observed. The synoptic 
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situation, which is less stable than in winter, also results in wind speeds being 
slightly higher in these areas, ranging from 5 to 6 ms −1 . Air temperatures in the 
maritime parts are rather low (0 – 2 °C), but rapidly increase on land, reaching 
10–12 °C near the southern boundary of the Arctic. There is considerably more 
precipitation than in winter: from 20 to 25 mm/month over the seas to about 30–40 
mm/month over the continent. Fogs are very frequent over the water areas (up to 30 % 
in the North), while over the continent they are a rather rare phenomenon (5 %).    

9.3     The Pacifi c Region 

   Cyclonic activity in winter in the  Pacifi c region   is signifi cantly  lower   than in the 
Atlantic and Baffi n Bay regions and, according to the calculations of Serreze et al. 
( 1993 ), their frequency is lower than 3 %. The low frequency of cyclones is caused 
by the occurrence of orographic barriers (zonally stretching mountains: the Koryak, 
Chukchi, and Brooks Ranges). As a result, cyclones can enter to the Pacifi c region 
only through the narrow Bering Strait. The narrowness of this strait also limits the 
warmth carried by the ocean current. Despite the above-mentioned obstacles, their 
infl uence on the climate of this region is discernible. This means that the cyclones 
entering the Pacifi c region must transport large amounts of warmth and moist air. As 
a result, a considerable increase in air temperature and precipitation during such 
events is observed. The close proximity of contrasted and well-developed air pres-
sure systems (Aleutian low and Siberian high) results in large pressure gradients, 
conditioning a dominance of severe winds, mainly from the northern sector. This 
transitional location of the Pacifi c region, in the case of shifts in those pressure sys-
tems mentioned, must cause a rapid change of wind speed and alters the physical 
characteristics of the air. Weak winds bringing cold and dry air occur when the 
Siberian high steers the weather, while strong winds bringing warm and humid air 
occur when the Aleutian low assumes control. As a result, the variability of air pres-
sure, temperature, and wind speed here is high. Prik ( 1971 ) relates this to the fre-
quent occurrence of cyclones, which – as was shown by Serreze et al. ( 1993 ) – is not 
true. In contrast with neighbouring regions (Siberian and Canadian), the Pacifi c 
region is characterised by signifi cantly higher temperatures, wind speeds, cloudi-
ness, and precipitation. The horizontal gradients of temperature over the marine 
areas are not large. Average temperatures may vary from −16 °C to −18 °C north of 
the Bering Sea and decrease to −24 °C to −26 °C north of Chukchi Sea (Prik  1971 ). 
These values of temperature are, however, markedly lower than in the Atlantic 
region. On the continental parts, the temperature rapidly decreases, particularly in 
Asia. Cloudiness is moderate and ranges from 55 to 60 % in the southern region to 
about 40–45 % in the northern parts. Precipitation amounts are equal to 25–35 mm 
per month. Winds blow mostly from the northern sector and their average speed is 
high, oscillating between 6 and 8 ms −1 . Storms here are frequent, on average 6–8 
days per month. 

9.3 The Pacifi c Region
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 According to Prik ( 1971 ), the cyclone frequency in summer is lower than in 
winter. On the other hand, results quoted by Serreze et al. ( 1993 ) give us the oppo-
site picture (compare their Figures 2 and 6). Southerly winds prevail in most of the 
Pacifi c region, except in the northern part, where easterly winds are more common. 
Air temperatures over the water area of the seas change slightly from 1 °C in the 
north to 6–8 °C in the Bering Strait. Signifi cantly higher temperatures are noted 
only on the coasts of the warmer continents. Cloudiness is very high, oscillating 
from 80 to 85 % (over seas) to 70–75 % (over continents). Fogs are common, with 
their average frequency amounting to 25–35 %.    

9.4     The Canadian Region 

   This region  is   one of the largest areas in the Arctic. Therefore,    of course, the dif-
ferentiation of climate is particularly evident here. The estimates of magnitude of 
these differences are, however, not identical. For example, Barry and Hare ( 1974 ) 
write, “The Canadian Arctic Archipelago extends over 15° of latitude but the cli-
matic characteristics are relatively homogeneous.” In turn, Maxwell ( 1982 ) noted 
that “…despite the northern latitudes of the Canadian Arctic Islands, the climate 
there is extremely diverse.” Such divergences in opinion, according to Maxwell 
( 1982 ), result from the fact that the majority of climatic classifi cations are based on 
data from individual stations, which are all situated in the coastal areas. This fact, as 
well as the use of mainly temperature and precipitation data in the process of cli-
matic classifi cation, introduces a bias in the results. This divergence may also result 
from the fact that Maxwell’s ( 1982 ) work is of a regional character, so the greater 
detail is understandable, while other works describing climatic characteristics 
(Barry and Hare  1974 ) or presenting climatic classifi cations (Prik  1960 ,  1971 ;  Atlas 
Arktiki   1985 ) for the entire Arctic must contain some element of generalisation. 

 In winter, as is demonstrated by the most recent data (Serreze et al.  1993 ), the 
frequency of both cyclones and anticyclones is similar, but rather low. The former 
dominate in the northern part of the Canadian Arctic, and the latter are prevalent in 
the western part. It is also important to add that the frequency of both these air pres-
sure systems is signifi cantly greater in the summer months (see Fig.   2.3    ). However, 
both cyclones and anticyclones in summer and winter have been classifi ed by 
Serreze et al. ( 1993 ) as relatively weak. This means that in the Canadian Arctic, the 
variability of climatic elements should be relatively low. Prik has distinguished two 
sub-regions in the Canadian Arctic: northern and southern (Prik  1971 ;  Atlas Arktiki  
 1985 ). 

 In winter months, very low temperatures are observed in the northern sub-region. 
The coldest temperatures in the entire Arctic (with the exception of Greenland) 
occur in the north-eastern part. The mean monthly temperatures here drop below 
−34 °C and locally even below −38 °C. Winds blow mainly from the northern sector 
and their speed is moderate or weak (in the northern part). Calms are very common 
and are noted for about 30 % of all observations. Cloudiness is low, with the 
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 frequency of occurrence of clear and cloudy days amounting to 40–50 % and 
30–40 %, respectively. Amounts of precipitation are also very low (<10 mm per 
month). The annual totals here are the lowest in the Arctic (see Fig.   7.3    ). 

 The  southern sub-region   has higher temperatures (−20 °C to −30 °C) than those 
occurring in the northern sub-region due to the infl uence of both the latitude and a 
greater frequency of cyclones. The greater synoptic activity also causes an increase 
in the variability of air temperature and other climatic elements. Wind speed, cloud-
iness, and precipitation, similar to air temperature, are also higher here. The mean, 
very low temperatures in the Canadian Arctic, as noted Barry and Hare ( 1974 ) are 
connected with persistent rather than extreme cold. 

 During the summer, the signifi cant infl uence of solar radiation (polar day), 
together with the lower temperature contrast in the time between high and moderate 
latitudes, markedly reduces the differences between the northern and southern sub- 
regions. Mean summer temperatures oscillate from 2 to 4 °C (in the North) to 
6–8 °C (in the South). A signifi cant increase of local differentiation of air tempera-
ture may be observed, particularly between sea areas (which are full of drifting ice 
and therefore cold) and coastal non-glaciated regions (which absorb great amounts 
of solar radiation and thus are relatively warm). The highest temperatures are, how-
ever, noted in the southernmost parts of the Canadian Arctic (>10–12 °C). Winds 
are moderate and blow mainly from the northern sector. Cloudiness is higher than 
in winter. The frequency of cloudy days over the archipelago is 60–70 %, decreas-
ing over the continent to about 50 %. This increase of cloudiness in summer is con-
nected both with a greater occurrence of cyclones and with moisture provided by 
the open water areas and melting snow. Barry and Hare ( 1974 ) noted that local fogs 
and stratus clouds could occur even in the absence of cyclonic convergence since 
little uplift is necessary to saturate the air. Precipitation falls mainly as rain, except 
in the mountain areas. Most precipitation is related to cyclone passages, but oro-
graphic effects are also very important. The year-to-year variability of monthly and 
seasonal totals is very great and it is dependent on the frequency of passing 
depressions.    

9.5     The Baffi n Bay Region 

   The  Baffi n Bay region   climatically is very similar to the  Atlantic   region, particularly 
to its southern and western sub-regions. The weather in winter in both these regions 
is shaped mainly by the cyclones developing over the North Atlantic. In the case of 
the Baffi n Bay region, the cyclones move from the source areas through the Davis 
Strait and  Baffi n Bay. Cyclones   bring large amounts of warmth and moist air to the 
areas where they enter. Therefore, air temperatures here are markedly higher than in 
the adjacent regions. Particularly high temperatures are noted in the eastern and the 
northern parts of the region, where additional heat is introduced into the atmosphere 
by the West Greenland Current and the stationary “North Water” polynya. In the 
Baffi n Bay region, as a consequence of the great frequency of cyclones, high 
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cloudiness (>60 %), precipitation (50–60 mm), severe winds, and day-to-day 
 variability of all meteorological elements are observed. The topography of the areas 
surrounding Baffi n Bay and the Davis Strait (the mountain relief of Baffi n Bay and 
Greenland with glaciation zones) limits the spatial development of cyclones. As a 
result, the air temperature signifi cantly decreases on land. The greatest horizontal 
gradients are noted in the coastal areas, particularly in Greenland. Due to air circula-
tion in the cyclones, northerly and north-westerly winds dominate in the western 
part of the Baffi n Bay region, while in the eastern part, south-easterly winds are 
prevalent. Such a pattern of wind leads to the occurrence of lower temperatures and 
precipitation on the coast of Baffi n Island than along the coast of Greenland. 

 In summer, the above-mentioned temperature pattern also occurs but it is mainly 
connected with the oceanic circulation (a cold current in the western region and a 
warm one in the eastern part). While cyclones are present here, their frequency and 
strength is lower than in winter. Open waters increase the occurrence of low cloudi-
ness and fogs. Winds have a moderate strength and are less stable over the sea area 
of the Baffi n Bay region. Along the coasts of Baffi n Island and Greenland, the east-
erly and westerly winds dominate, respectively. Fogs are very rare here.    

9.6     The Greenland Region 

   An ice sheet  and   peripheral glaciers cover more than 80 % of Greenland.    The pla-
teau of the ice sheet generally exceeds 1200 m a.s.l., and in the highest parts rises to 
over 3000 m a.s.l. Coastal mountains (see Introduction) also reach this elevation. 
Besides these important climatic factors, the atmospheric circulation also plays a 
very important role, particularly in the low elevated areas. The quasi-permanent 
Greenland anticyclone mainly infl uences the weather in the northern part, while 
cyclones coming from the Icelandic depression infl uence the southern part of 
Greenland. The cyclones enter  Greenland   from the southwest; some of the deepest 
and most vertically developed can cross the southern part of Greenland, sharply 
changing the weather conditions. However, most often they travel along the western 
or eastern coasts. The Greenland region, which includes almost the entire island 
with the exception of the coastal areas not covered by ice, is the coldest part of the 
Arctic. In the winter months, the average temperatures oscillate around −40 °C, 
with minimum temperatures dropping below −60 °C. The ice sheet climate is domi-
nated by a surface temperature inversion averaging 400 m in depth. During cyclones 
the temperature can increase by 20 °C to 30 °C due to both their transport of warmth 
and the disturbance of the temperature inversion. This advection of maritime air into 
the interior is refl ected in large interdiurnal temperature changes. In the northern 
part of Greenland, a very low cloudiness and precipitation connected with the domi-
nance of anticyclonic activity and with topographic conditions (on the lee side of 
the ice sheet) are observed. Both cloudiness and precipitation are higher in the 
southern half of Greenland, particularly in areas which are elevated and well 
exposed to the main air streams (the western, southern, and eastern slopes of the 
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Greenland Ice Sheet). On the slopes of the ice sheet, the katabatic winds reaching 
the maximum speed in the marginal parts of the slopes are a very important feature 
of the climate. 

 In summer, according to the investigation made by Serreze et al. ( 1993 ), the 
cyclones tend not to cross Greenland. The differentiation of climatic elements and 
their variability is therefore lower at this time than in winter. Temperatures are, 
however, very low and in the northern part the monthly means mostly oscillate 
between −10 °C and −12 °C. Extreme temperatures can drop to almost −30 °C. The 
katabatic winds are stable, as in winter, but they are weaker and do not reach the 
coastal areas.    

9.7     The Interior Arctic Region 

   The  horizontal   gradients of meteorological  elements   here are the lowest in the 
Arctic. However, some differences in pattern distribution of these elements exist, 
which allow a distinction to be drawn between two separate sub-regions: the sub- 
Atlantic and the sub-Pacifi c (Prik  1971 ;  Atlas Arktiki   1985 ). 

 The sub-Atlantic area quite often falls under the infl uence of the North Atlantic 
cyclones and therefore the temperatures here are higher than in the sub-Pacifi c sub- 
region, where anticyclones dominate. The winter temperature varies here from 
−24 °C to −26 °C in the southern part to about −32 °C near the Pole. Absolute mini-
mum temperatures can drop below −50 °C. According to the map presenting the 
mean annual fi elds of sea level pressure (Serreze et al.  1993 ), southerly winds domi-
nate in this sub-region. Wind speeds are signifi cantly lower here than in the Atlantic 
region and oscillate between 5.5 and 6.5 ms −1  but their range of variation is consid-
erable: from extremely weak to very strong. Cloudiness in winter is signifi cantly 
lower than in summer and ranges from 60 % in the southern part to about 50 % near 
the Pole. Precipitation is very frequent but its intensity is light. Monthly totals do 
not exceed 10–15 mm, and yearly 200–250 mm. 

 The  sub-Pacifi c sub-region  , due to the dominance of anticyclone circulation, has 
a more severe climate in winter than the previous sub-region. Temperatures are, on 
average, 6–10 °C lower and their spatial changes are very small. Minimum tempera-
tures generally do not drop below −53 °C while maximum temperatures do not 
exceed −3 °C to −5 °C. The dominance of anticyclones results in the occurrence of 
unstable and weak or moderate winds. Their speeds are lower here than in the sub- 
Atlantic sub-region and oscillate between 4.5 and 5.5 ms −1 . Also there is less cloudi-
ness and precipitation here. 

 In summer, the meteorological regime is similar in both the sub-regions. The 
mean temperature approaches 0 °C because it is limited by the melting process. The 
range of temperature oscillates between −6 °C and 4–6 °C. The small daily contrast 
of incoming solar radiation (polar day), very high cloudiness (80–90 %), and the 
melting of snow and sea ice result in daily variations of temperature being excep-
tionally low (on average 0.4 °C to 0.5 °C). The wind directions are very changeable 
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and speeds are not particularly high (4.5–5.5 ms −1 ). Storm winds (>15 ms −1 ) are 
very rare in the summer months and, according to Prik ( 1971 ), only two to fi ve cases 
every 10 years are observed. Cloudiness is exceptionally high (about 90 % of cloudy 
days and only 4–8 % of clear days) and occurs mainly in the form of low clouds. 
Precipitation, although quite frequent, gives small totals because its intensity is very 
small. A characteristic phenomenon of the summer in the interior Arctic region is 
the frequent occurrence of fog (25–40 %).       
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    Chapter 10   
 Climatic Change and Variability 
in the Holocene       

               Polar regions play a very important role in shaping the global climate. Both empiri-
cal and modelling  studies   show that these are the most sensitive regions to climatic 
changes. As a consequence, warming and cooling epochs should be signifi cantly 
more distinct here that in  the   lower latitudes. Climatic models indicate that they 
should also occur earlier. However, this is not always the case. It depends on the 
factor(s) causing the climate change (Przybylak  1996 ,  2000 ). 

 The Arctic climate system differs from the other climate systems situated in the 
lower latitudes fi rstly because it contains the cryosphere, which is present almost 
over  the   whole Arctic. The role of the cryosphere in determining climate is still not 
fully understood. Thus in March 2000 a new research project, within the World 
Climate Research Programme, called the Climate and Cryosphere (CLIC) was 
established (see   http://www.climate-cryosphere.org    ). 

 Future climatic change which may occur in the Arctic as a result of human activi-
ties is diffi cult to predict (see the next Chapter). This especially concerns its rate and 
magnitude.    However, it is certain that man-made changes in climate will be super-
imposed on a background of natural climatic variations. Hence, in order to under-
stand future climatic changes, it is necessary to have a knowledge of how and why 
climates have varied in the past (Bradley and Jones  1993 ). Therefore of particular 
relevance are climatic variations of the last 10–11 thousand years (the Holocene 
period). The climatic changes which occurred in the past will be presented for three 
time scales (10–11 – 1 ka BP; 1.0–0.1 ka BP; and 0.1 BP – present). For the fi rst 
period and for almost the entire second period, there are no instrumental meteoro-
logical observations, and thus our knowledge is mostly based on the so-called 
“proxy data.” Until recently, the majority of paleoclimatological information has 
come mainly from geological, geomorphological, geophysical, glaciological, and 
botanical studies. For more details about the possibilities of climate reconstructions 
based on proxy data, see, for example, Bradley ( 1985 ,  1999 ,  2014 ). 

 In recent years, quite a large number of review papers summarising the state of 
knowledge of climate history in the Holocene (and its subperiods) for the entire 
Arctic (or large parts of it) have been published (e.g. Kaufman et al.  2004 ; Wanner 
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et al.  2008 ; Miller et al.  2010 ; Sundqvist et al.  2010 ; Zhang et al.  2010 ; Turner and 
Marshall  2011 ). Based on these papers, as well as many others which were mainly 
published in recent decades, the Holocene climate of the Arctic (in particular for 
Greenland, Canadian high Arctic, and the Eurasian Arctic) will be characterised. 

10.1       Period 10–11 ka – 1 ka BP 

 The start of the  Holocene is   estimated most often between 10 and 11 ka before pres-
ent (years BP, the present being defi ned as 1950 A.D.). However, glaciological 
proxy data show that this date should be shifted to about 11.6 ka (see e.g. Johnsen 
et al.  1992 ; O’Brien et al.  1995 ; Wanner et al.  2008 ). As can be seen from Fig.  10.1 , 
there is a dramatic change of climate at about this time. At the Summit and Dye 3 
δ 18 O profi les, the change is equal to 3–4 ‰ (it gives about a 5–7 °C rise in tempera-
ture). Most of the transition between the Younger Dryas and the Holocene occurred 
in a few decades, according to GISP2 (Greenland Ice Sheet Project) oxygen isotope 
(δ 18 O) ice record (Taylor et al.  1997 ). Then the warming was signifi cantly less and 
the typical Holocene values reached about 10.2 ka BP.

   In this period,  a   substantial increase in the annual layer accumulation was also 
noted (Fig.  10.2 ) in the GISP2 deep core. Distinct changes in chemical fl ux values 
(marine and terrestrial Na, Cl, Mg, K, and Ca), which represent changes in the 
atmospheric composition over the Greenland Summit, are also evident (see Fig. 
 10.3  and O’Brien et al.  1995 ; Taylor et al.  1997 ). As can be seen in Fig.  10.1 , it is 
also evident that the Holocene is a period of a relatively stable climate with mean 
δ 18 O values of −34.7 and −34.9‰ for GISP2 and GRIP (Greenland Ice-core Project), 
respectively (Grootes et al.  1993 ). However, the small Holocene δ 18 O fl uctuations of 
1–2‰ occur very often and are suffi cient to detect changes in temperature 
conditions.

    Sundqvist et al. ( 2010 )    analysed 129 temperature reconstructions from 71 differ-
ent sites in the Arctic and found that “…temperatures were warmer at mid- Holocene 
(6000 BP ±500 years) compared to the pre-industrial period (1500 AD ± 500 years) 
both in summer, winter and the annual mean. By taking simple arithmetic averages 
over the available data, the reconstructions indicate that the northern high latitudes 
were 0.9 °C warmer in summer, 0.5 °C in winter and 1.7 °C warmer in the annual 
mean temperature at the mid-Holocene (6 ka) compared to the recent pre- industrial.” 
The majority of modelling works published recently (see, for example, Figure 6 in 
Kaplan et al.  2003 , or Figures 12 and 13 in Berger et al.  2013 ) confi rm these fi nd-
ings and show pronounced warming in the Arctic throughout the year in the mid- 
Holocene, compared to the pre-industrial period. Only Japanese model (MIROC- 
ESM) simulates colder temperature in winter, spring, and autumn in the fi rst period 
(Berger et al.  2013 ). 

 There is  growing   evidence that the early Holocene was warmer than the mid- 
Holocene. This was suggested as early as in 1990 by Bradley, who wrote that “It is 
not possible to be certain about whether the early Holocene was warmer than the 
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mid-Holocene, but there is certainly considerable evidence that this may have been 
the case.” Recently, new climate reconstructions gathered by Kaufman et al. ( 2004 ) 
for 120 sites from the western Arctic confi rm the correctness of Bradley’s assump-
tion.  Holocene thermal maximum (HTM)  , on average, began in 8.9 ± 2.1 ka and 
ended in 5.9 ± 2.6 ka. Signifi cant spatio-temporal changes of HTM were, however, 
noted in the area (Fig.  10.4 ). Eastern Beringia (including Alaska) showed the start of 
HTM warming prior to ca. 11 ka, while in the Canadian Arctic Islands and the 
Greenland-Iceland regions it occurred at about 8.6 ± 1.6 ka, and in northern  continental 

   Fig. 10.1     Continuous  δ 18 O   profi les along sections of four Greenland ice cores from Summit 
(Central), Dye 3 (Southeast), Camp Century (Northwest), and Renland (East Greenland), spanning 
nearly the same time interval. The four records are all plotted on linear depth scales, of which only 
the Summit depth scale is shown to the  left  along with a Summit timescale. The heavy and  thin 
vertical lines  indicate estimated δ levels characteristic of late-glacial cold and mild stages respec-
tively. The fi gures close to these lines defi ne a suggested numbering of signifi cant mid- and late- 
glacial interstadials (After Johnsen et al.  1992 )       

 

10.1 Period 10–11 ka – 1 ka BP



190

Canada it was delayed until 7.3 ± 1.6 ka. In Svalbard, the onset of the HTM was noted 
at 10.8 ka (Svendsen and Mangerud  1997 ), while in the Eurasian Arctic the timing of 
HTM overlaps its widest expression in the western Arctic (Miller et al.  2010 ). The 
duration of the    HTM period was the shortest in the central and eastern Beringia 
region (1–3 ka), while in other regions it was equal to about 2–5 ka (Kaufman et al. 
 2004 ; Miller et al.  2010 ). Quantitative estimates available for 16 terrestrial sites 
reveal that HTM temperatures were on average 1.6 ± 0.8 °C higher than present 
(approximate average for the twentieth century) (Kaufman et al.  2004 ).

10.1.1       Greenland 

 The good  paleoclimatic   information exists for Greenland, where during the last 
30–40 years quite a large number of ice-cores have been drilled, beginning with the 
oldest one (Camp Century) and ending with the series of 13 drilled during the sum-
mers of 1993–1995 along the North-Greenland-Traverse. The routine analyses of 

   Fig. 10.2     Record of 100- year   smoothed accumulation and oxygen isotope profi les from the 
GISP2 core from 12,000 years BP to the present. Reprinted with the permission from Meese D. A., 
Gow A. J., Grootes P., Mayewski P. A., Ram M., Stuiver M., Taylor K. C., Waddington E. D. and 
Zielinski G. A., ‘The accumulation record from the GISP2 core as an indicator of climate change 
throughout the Holocene’,  Science , 266, 1680–1682 (Copyright  1994  American Association for 
the Advancement of Science)       
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ice cores include the measurements of isotopic composition (δ 18 O, δD), content of 
greenhouse gases (CO 2  and CH 4 ), dust content, chemical composition, electricity 
conductivity, annual ice accumulation, etc. The advantage of this kind  of   proxy data 
is mainly the high time resolution, which allows researchers to investigate even 
seasonal changes and the wide spectrum of information available about climate and 
environmental changes. However, some scientists have expressed scepticism as to 
whether analyses of ice cores may be considered reliable because of the artifi cial 
contamination and disturbances of ice cores during the drilling (for details see 
Jaworowski et al.  1990 ,  1992 ). More recently, a new source of information about 
past temperatures in Greenland has become available. This new source is based on 
 temperature profi les   measured down through an ice sheet in deep boreholes. This 
information is then used to reconstruct past surface temperatures. This is possible 
because temperatures down through the ice depend on the geothermal heat fl ow 
density, the ice-fl ow pattern, and the past surface temperatures and accumulation 
rates (Dahl-Jensen et al.  1998 ). Since the beginning of 1970s, this method has very 
often been used for the non-glaciated areas based on temperature measurements in 
wells (see e.g. Čermak  1971 ; Lachenbruch and Marshall  1986 ; Pollack and Chapman 
 1993 ; Majorowicz et al.  1999 ; Bodri and Cermak  2007  and references therein). The 
main weakness of this method is its low time resolution, which decreases the further 
back in time one investigates. This means that the high-frequency changes are not 
registered. In the distant past even such prominent climatic events like Bölling/
Alleröd and cold Younger Dryas periods are not resolved (see Fig.  10.5 ).

   Holocene climate history for the central part of Greenland is presented in 
Table  10.1  and Figs.  10.2 ,  10.3 , and  10.4 . For different parts of the island, this 
knowledge (also based on lake records) is presented in other recently published 
works (e.g. Willemse and Törnqvist  1999 ; Kaplan et al.  2002 ; Kaufman et al.  2004 ; 
Rasmussen et al.  2007 ; Steffensen et al.  2008 ; Vinther et al.  2009 ). Generally speak-
ing, there is good correspondence in the timing of  the   occurrence of warm and cold 
periods in central Greenland on a millennial time scale, distinguished from different 
sources. Some differences are connected with different time resolutions of the 
sources mentioned, different sensitivity to environmental and climate-forming fac-
tors, and probably errors in the dating of some of them. The  fi rst   warm period (not 
noted by the borehole temperatures) occurs in the early Holocene about 10.0–8.56 
ka BP. The greatest and longest warming is clearly evident in reconstructed tem-
peratures from GRIP borehole, lasting from 8 to 5–4 ka BP and this can be referred 
to as the Climatic Optimum (Dahl-Jensen et al.  1998 ). However, more high-time 
resolution data show that during this time at least one to three cold periods also 
occurred (see Table  10.1  and Figs.  10.2  and  10.3 ). Dahl-Jensen et al. ( 1998 ) calcu-
lated that the surface temperature during this period was about 2.5 °C warmer than 
the present temperature (Fig.  10.4b ). A period of maximum postglacial warmth 
between approximately 8 and 4 ka BP has been proposed from the Camp Century 
ice core (Dansgaard et al.  1971 ).

   The next  warm period   had a rather short duration and began about 2.5 ka and 
ended between 2 and 1.5 ka BP. For this time, there is the greatest difference in data 
received from the borehole temperature measurements (see Table  10.1  and 
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(a) HTM Initiation

(b) HTM Termination

Age (cal ka)
No HTM

After 3.0

3.0 – 4.0

4.0 – 5.0

5.0 – 6.0

6.0 – 7.0

7.0 – 8.0

8.0 – 9.0

9.0 – 10.0

10.0 – 11.0

11.0 – 12.0

Before 12.0

  Fig. 10.4    Spatio-temporal  pattern   of the Holocene thermal maximum (HTM) in the western 
Arctic. ( a ) Initiation and ( b ) termination of the HTM.  Gray dots  indicate equivocal evidence for 
the HTM.  Dot colours  indicate bracketing ages of the HTM, which are contoured using the same 
colour scheme. These maps with references to each site and additional information are available at 
the Paleoenvironmental Arctic Sciences (PARCS) website (After Kaufman et al.  2004 )       
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Figs.  10.2 ,  10.3 , and  10.4 ), which show clear cooling (0.5 °C below present tem-
perature) about 2 ka BP. Analysis of reconstructed temperature for the Dye 3 core 
(Dahl- Jensen et al.  1998 ) also provides similar results. All palaeoclimatic proxy 
data reveal, on the other hand, the existence of a Medieval Warm Period, which in 
Greenland, as may be seen from Table  10.1  and Figs.  10.2 ,  10.3  and  10.5 , started 
about 1.4–1.5 ka BP, thus signifi cantly earlier than in Europe. According to recon-
structed temperatures by Dahl-Jensen et al. ( 1998 ), the maximum warming occurred 
about 900 A.D. (Fig.  10.5c ) and was 1 °C warmer than at present in Greenland. 

 From the start of the Holocene to 1 ka BP, between 4 and 6 cold periods can be 
distinguished.    The fi rst one occurred in the transition period from Younger Dryas to 
the Holocene, when the temperatures were generally colder than average conditions 
in the Holocene. The second deterioration of climate occurred from 8.5 to 8.0 ka BP, 

  Fig. 10.5    The contour plots of all the GRIP temperature histograms as a function of time describes 
 the   reconstructed temperature history ( solid lines ) and its uncertainty. The temperature history is 
the history at the present elevation (3240 m) of the summit of the Greenland Ice Sheet. The dashed 
curves are the standard deviations of the reconstruction. The present temperature is shown as a 
horizontal line. ( a ) – the last 100ky BP, ( b ) – the last 10ky BP and ( c ) – the last 2000 years 
(Reprinted with the permission from Dahl-Jensen D., Mosegaard K., Gundestrup N., Clow C. D., 
Johnsen S. J., Hansen A. W. and Balling N., ‘Past temperatures directly from the Greenland Ice 
Sheet’,  Science , 282, 268–271. Copyright  1998  American Association for the Advancement of 
Science)       
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i.e. just before the start of the Climatic Optimum. Between one and three short cold 
events occurred during the time of Optimum. Both the ice accumulation rate and 
changes in chemical fl uxes show that this cooling occurred from 6 to 5 ka BP 
(Table  10.1  and Figs.  10.2  and  10.3 ). On the other hand, the oxygen isotopes reveal 
three colder periods observed in three other periods (7.5–7.0 ka, 6.5–6.0 ka, and 
4.7–4.3 ka BP). Oxygen isotope and borehole temperature data show the clear cool-
ness of climate from 3 ka to about 1.5–1.1 ka BP with a very small warming spell 
between 2.5 and 2.0 ka BP. The remaining sources reveal not so long-lasting cooling 
(see Table  10.1  and Figs.  10.2 ,  10.3 , and  10.5 ). The maximum cooling during this 
period occurred around 2 ka BP and was about 0.5 °C lower than the present climate 
(see Fig.  10.5b ). 

 O’Brien et al. ( 1995 ) found that the cold events identifi ed in their glaciochemical 
 series   correspond in timing to records of the world-wide Holocene glacier advances 
(Denton and Karlén  1973 ) and to cold events in paleoclimate records from Europe, 
North America, and the Southern Hemisphere (Harvey  1980 ), as determined by 
combining glacier advance, oxygen isotope (δ 18 O), pollen count, tree ring width, 
and ice core data (Fig.  10.6 ). They also reveal quite a good correspondence between 
the timing of cold periods and periods of low solar output, as identifi ed in residual 

        Table 10.1    Warm and cold periods (ka BP) in the Holocene based on measurements  of   oxygen 
isotope δ 18 O, an ice accumulation rate and chemical fl uxes at GISP2 core as well as based on 
borehole temperatures at GRIP core   

 Measured element 

 Periods  (δ 18 O) a  
 Ice accumulation 
rate a   Chemical fl uxes b  

 Borehole temperature 
at GRIP core c  

 Warm  9.5–8.5  9.2–8.5  10.6–9.3 
 8.0–7.6  8.1–7.3  7.9–6.3  8.0–4.2 
 7.0–6.6 
 5.3–4.7  5.0–4.2 
 3.6–3.1 
 2.5–2.0  2.5–1.9  2.7–1.5 
 1.0–0.8  1.3–0.8  0.96–0.61  1.5–0.8 

 0.05–0.0 
 Cold  > 11.3  11.6–9.5 

 8.5–8.0  8.5–8.0  8.8–7.8 
 7.5–7.0 
 6.5–6.0  6.0–5.2  6.1–5.0 
 4.7–4.3 
 3.0–2.5  3.1–2.4  3.0–1.5 
 1.9–1.1  1.9–1.3 
 0.8–0.0  0.8–0.0  0.61–0.0  0.7–0.1 

  Author interpretation based on fi gures presented at the following papers 
  a Meese et al. ( 1994 ) 
  b O’Brien et al. ( 1995 ) 
  c Dahl-Jensen et al. ( 1998 )  
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tree ring radiocarbon (δ 14 C) age measurements (Stuiver and Braziunas  1989 ) (Fig. 
 10.3 ). Moreover, they also found almost the same quasi-cycles of δ 14 C climate 
(2500 years) and cold periods identifi ed in the GISP2 record (~2600 years).

   From the proxy  data   presented here, the precipitation changes during the 
Holocene are best represented by the ice accumulation rate. Meese et al. ( 1994 ) 
found, however, that the accumulation and oxygen isotopes correlate signifi cantly at 
GISP2. From Fig.  10.2 , one can see that this correlation is positive. Mostly the pre-
cipitation is greater in warmer periods and lower in colder periods. There are, how-
ever, some exceptions, such as about 6.8 ka or 1.2–1.0 ka BP. 

 Dahl-Jensen et al. ( 1998 ) comparing the results presented here with those from 
the Dye 3 borehole (865 km further south from GRIP), found that the Dye 3 tem-
perature is similar to the GRIP history, but has an amplitude 1.5 times greater,    indi-
cating higher climatic variability there. They concluded that the difference in 
amplitudes observed between the two sites is a result of their different geographic 
location in relation to the variability of atmospheric circulation, even on the time 
scale of a millennium. The importance of regional infl uences on environmental 

  Fig. 10.6    Palaeoclimate cold events: GISP2 Holocene E0F1; world-wide glacial expansions  and   
their relative magnitude (Denton and Karlén  1973 ); synthesis of various climate proxy records 
from Europe, Greenland, North America, and the Southern Hemisphere showing cold periods 
(Harvey  1980 ); the Cockburn Stade (Andrews and Ives  1972 ); and the YD event (Mayewski et al. 
 1993 ) (Reprinted with permission from 0’Brien S. R., Mayewski P. A., Meeker L. D., Meese D. A., 
Twickler M. S. and Whitlow S. I., ‘Complexity of Holocene climate as reconstructed from a 
Greenland ice core’,  Science , 270, 1962–1964. Copyright  1995  American Association for the 
Advancement of Science)       
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changes, especially in the second half of the Holocene, is also revealed by O’Brien 
et al. ( 1995 ). They concluded that this complexity in Holocene climate makes dis-
tinguishing a natural from an anthropogenically altered climate a formidable task. 

 Recently published Greenland climate reconstructions based on low-altitude 
continental lake records (e.g. Willemse and Törnqvist  1999 ; Kaplan et al.  2002 ; 
Kaufman et al.  2004 ) generally confi rm the reconstructions presented here based on 
glacier records. Willemse and Törnqvist ( 1999 ) found, however, that “…the inferred 
temperature fl uctuations in the lakes closely follow the century-scale fl uctuations in 
the Greenland Ice Core Project δ 18 O record but correlate less with the Greenland Ice 
Sheet Project 2 record.”  

10.1.2     Canadian High Arctic 

 Proxy data  concerning   Holocene climatic change in the  Canadian high Arctic   in 
recent decades has been signifi cantly enlarged (for more details see, for example, 
Williams and Bradley  1985 ; Bradley  1990 ; Evans and England  1992 ; Kaufman 
et al.  2004 ; Sundqvist et al.  2010 ). This data mainly comprises ice core, glacial, and 
sea-ice/ice-shelf components as well as geomorphological and chronological evi-
dence. In particular, great advances have been made in palaeoclimatological recon-
structions based on lacustrine and marine sediments, including biological proxies 
such as pollen, diatoms, chironomids, and other microfossils. 

 Ice-core analyses from the Agassis, Meighen, and Devon Ice Caps (e.g., Koerner 
and Paterson  1974 ; Koerner  1977a ,  b ,  1979 ,  1992 ; Paterson et al.  1977 ; Fisher and 
Koerner  1980 ,  1983 ; Koerner and Fisher  1985 ; Koerner et al.  1990 ) provide an 
important record of high latitude climatic change. Fisher and Koerner ( 1980 ) found 
for Devon Island a period of increasing postglacial warmth from 10 to 8.3 ka 
BP. Then the temperature showed small oscillations until 4.3 ka BP, when the maxi-
mum postglacial temperatures occurred. Since 4.3 ka BP there has been a  progressive 
cooling. The end of the postglacial  optimum   occurred between 4.5 and 3 ka BP. This 
scheme of the climatic changes on Devon Island  is   in good correspondence with the 
reconstructed temperature history from the GRIP borehole (Fig.  10.5b ). Variations 
in the abundance of stranded driftwood, which are also used as indicator of Holocene 
climate change in the high Arctic, generally correlate very well with both the above-
mentioned series of data (Fig.  10.7 ). The interpretation of this fi gure is as follows: 
the greater the abundance, the warmer the summer temperatures, and the lighter the 
sea-ice conditions, which allow for drifting of wood. Bradley ( 1990 ) summarising 
the proxy data for the Holocene paleoclimate of the Queen Elizabeth Islands, identi-
fi ed two basic climatic periods: (1) the early-mid Holocene when summer tempera-
tures were comparable or higher than at present, and (2) the last 3500 ± 500 years 
over which summer temperature dropped signifi cantly. Evans and England ( 1992 ), 
analysing proxy data from northern Ellesmere Island, generally give a similar 
reconstruction.
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   A large majority of recent  Holocene   temperature reconstructions (mainly based 
on biological proxies representing summer temperatures) in the Canadian high 
Arctic shows the highest values at between 10 and 8.5 ka BP (see, for example, 
Dyke et al.  1996 ; Savelle et al.  2000 ; Kaufman et al.  2004 ; Briner et al.  2006 ; Peros 
and Gajewski  2008 ; Vare et al.  2009 ), thus clearly occurring earlier than the periods 
of maximum temperature obtained based on ice-core and driftwood radiocarbon 
 analyses   described in this sub-section. In the western Canadian Arctic (Victoria 
Island), July temperatures reconstructed for the Holocene based on pollen records 
from lake KR02 (the fi rst quantitative reconstruction of temperature for the western 
Canadian Arctic) reveals that the highest values oscillated around ca. 6 °C, between 
~8.7 and 9.7 ka BP (Peros and Gajewski  2008 ), gradually falling to 4.5 °C during 
the Little Ice Age. On the other hand, in the eastern Canadian High Arctic (north- 
eastern Baffi n Island) chironomid-inferred July temperatures in this period reached 
as much as 10 °C (see Figure 8 in Briner et al.  2006 ). More of this kind of data, as 
mentioned in sub-section 10.1, was analysed by Kaufman et al. ( 2004 ), who also 

  Fig. 10.7    Histogram of  driftwood   radiocarbon dates from the Canadian and Greenland high 
Arctic based on data from Stewart and England ( 1983 ), Evans ( 1988 ), Lemmen ( 1988 ), and Blake 
( 1987 ) (After Evans and England  1992 ).  1 ,  2 , and  3  in the upper part of the fi gure denote the peri-
ods of signifi cant differences in the abundance of stranded driftwood       
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show that postglacial warmth came to the Canadian High Arctic mainly between 10 
and 8 ka BP. 

 Also as mentioned in Sect.  10.1,  a number of papers have analysed temperature 
change in the Arctic between the mid-Holocene (6 ka BP) and the present (Kaplan 
et al.  2003 ; Sundqvist et al.  2010 ; Zhang et al.  2010 ; Berger et al.  2013 ). The aver-
age temperature decrease between these periods, calculated for the Canadian Arctic 
Islands based on reconstructed  data   (mainly using pollen records) given by Sundqvist 
et al. ( 2010 ) in their Table 1, is rather small and reaches 0.3–0.4 °C. Summer tem-
perature differences calculated by other researchers’ models oscillate between 
0–2 °C (Kaplan et al.  2003 ) and 1–2 °C (Zhang et al.  2010 ; Berger et al.  2013 ). On 
the other hand, winter shows a more complicated pattern of changes. Japanese mod-
els (MRI-OA and MIROC-ESM) simulate respectively slightly warmer (<0.5 °C) 
and signifi cantly colder (by 1–3 °C) temperatures in  the   mid-Holocene in compari-
son to the present (Zhang et al.  2010 ; Berger et al.  2013 ). Other examples of models 
(FOAM-OA, HadGEM2-ES) taken from a set of models belonging to the 
Paleoclimate Modelling Intercomparison Project (for details see Zhang et al.  2010 , 
or Berger et al.  2013 ) simulate warmer temperatures in the mid-Holocene by 
0.5–2 °C and 1–3 °C, respectively (see Figure 6 in Zhang et al.  2010  and Figure 12 in 
Berger et al.  2013 ).  

10.1.3     Eurasian Arctic 

10.1.3.1     Maritime part (including islands) 

 The Greenland Ice Sheet  and   the Canadian high Arctic represent  the   typical conti-
nental climate, while on the other hand, the Eurasian Arctic islands (mainly from 
Svalbard to Severnaya Zemlya), and particularly Svalbard, characterise the part of 
the Arctic with the most maritime climate. For this part of the Arctic there exist 
some ice-core analyses from Svalbard, Zemlya Frantsa Josifa, and Severnaya 
Zemlya, but most of them do not cover the last thousand years (Tarussov  1988 , 
 1992 ; Vaikmäe  1990 ). Only the ice core from the Vavilov ice dome (Severnaya 
Zemlya) supplies proxy data for almost the entire Holocene period (Fig.  10.8 ). 
Unfortunately, there are some uncertainties in the dating of the ice core; the ice age 
is evidently overestimated, even in the upper part of the profi le (Tarussov  1992 ). 
Tarussov further notes that the interpretation of this core is problematic due to the 
strange absence of a correlation between the chloride and δ 18 O curves of the same 
core. Based on the review of literature concerning the history of glacier  advances   
and retreats during the Holocene in Svalbard, Novaya Zemlya, Zemlya Frantsa 
Josifa, and Severnaya Zemlya, estimated using geomorphological and glacier inves-
tigations (e.g., Bazhev and Bazheva  1968 ; Szupryczyński  1968 ; Grossvald  1973 ; 
Baranowski  1977b ; Werner  1993 ; Lubinski et al.  1999 ), and for the last thousand 
years also using ice-core analyses (Vaikmäe and Punning  1982 ; Tarussov  1988 , 
 1992 ; Vaikmäe  1990 ), one can conclude that there exists a good correspondence 
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between climatic changes in this region of the Arctic. Other proxy data also  confi rms 
this statement (Andreev and Klimanov  2000 ; Sarnthein et al.  2003 ; Miller et al. 
 2010 ; Melles et al.  2012 ). Therefore, the history of the Holocene climate for this 
part of the Arctic will be presented here using mostly data from Svalbard, for which 
this  history is best known.

   Werner ( 1993 ) has provided a review of our current knowledge concerning the 
climatic changes in Svalbard in the Holocene and has also supplied a new Holocene 
moraine chronology for central and northern Spitsbergen. He presents  evidence   for 
multiple Neoglacial advances in this area. The fragmentary moraine record indi-
cates two Little Ice Age advances and two older Neoglacial advances. The oldest 
moraines had stabilised by ca. 1.5 ka BP, and a second group of moraines by ca. 

  Fig. 10.8    Variations in 
δ 18 O and Cl −     
concentrations for the 
Severnaya Zemlya ice core 
(After Vaikmäe  1990 )       
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1.0 ka BP. The fi rst group of moraines, according to Werner ( 1993 ), may correspond 
to the advance of glaciers between 3.5 and 2.0 ka BP, reported by many authors (e.g. 
Szupryczyński  1968 ; Baranowski  1975 ,  1977a ,  b ; Baranowski and Karlén  1976 ; 
Punning et al.  1976 ; Lindner et al.  1982 ; Niewiarowski  1982 ; Marks  1983 ). The 
advance of glaciers indicated by moraines dated to ca. 1.0 ka BP is not recognised 
in the stratigraphy of southern Spitsbergen. The moraine chronology proposed by 
Werner ( 1993 ) compares well with other proxy climate records on Spitsbergen, 
summarised in Werner’s Figure 10. From this, it can be seen that Climatic Optimum 
occurred between 7 and 4 ka BP, the same as certain proxy data shows from 
Greenland and the Canadian Arctic. During this period, the reduced sea ice 
(Haggblom  1982 ), increased the production of local pollen (Hyvarinen  1972 ), and 
the occurrence of thermophilus marine molluscs (Feyling-Hanssen and Olsson 
 1960 ) were observed. There are also no traces indicating an advance of the glaciers. 
The proxy climatic records further show evidence for late-Holocene (4–2 ka BP) 
climatic deterioration. In the next 1000 years, there is evidence mainly in sea ice and 
glacial records of some warming of the climate, similar to the reconstructed tem-
perature histories for the GRIP borehole (Fig.  10.4b ). More recently, Svendsen and 
Mangerud ( 1997 ) have obtained a generally similar history of the Holocene climate 
based on investigations of sediment cores from the proglacial lake Linnévatnet, 
west Spitsbergen. It must, however, be mentioned that they found evidence  of   early 
Holocene warming similar to that which occurred in the mid-Holocene. Such fea-
tures of the Holocene temperature were also documented by Salvingsen et al. ( 1992 ) 
and Salvingsen ( 2002 ). Summer temperatures in both these periods, according to 
Svendsen and Mangerud ( 1997 ), was higher than at present by 1.5–2.5 °C. A slightly 
smaller value (1–2 °C) was found by Birks ( 1991 ) after analysing plant macrofossils 
in a core taken from lake Skardtjønn, just 8 km south of Linnévatnet lake. Greater 
warming than in Spitsbergen Island in early Holocene times (~10 to ~8 ka BP) was 
reconstructed for Björnöya Island, based on both lake (Wohlfarth et al.  1995 ) and 
marine (Sarnthein et al.  2003 ) sediments. Wohlfarth et al. ( 1995 ) analysed insect 
data (fossil  Coleoptera ) and estimated that the climate in the early Holocene was 
more continental than today, with summer (July) temperatures higher by 4–5 °C, 
and winter (January) temperatures lower by 5–6 °C. Sarnthein et al. ( 2003 ) showed 
evidence that the West Spitsbergen Current near Björnöya Island was warmer by 
4–5 °C compared to present-day values.  

10.1.3.2     Continental Part 

 In recent years,    many papers have been published reporting Holocene climate 
change in the continental part of the Russian Arctic, based on analyses of different 
proxy data (e.g. Koshkarova  1995 ; Andreev and Klimanov  2000 ; MacDonald et al. 
 2000 ; Andreev et al.  2002 ,  2003 ; de Vernal et al.  2005 ; Miller et al.  2010 ; Sundqvist 
et al.  2010 ; Melles et al.  2012 ) as well as modelling investigations (e.g. Kaplan et al. 
 2003 ; Zhang et al.  2010 ; Berger et al.  2013 ). Quantitative estimates of HTM sum-
mer temperature anomalies (in reference to the present time) along modern coastal 
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and inland areas oscillated between 1 and 3 °C, with maximum warming noted here 
in the early Holocene (10–9 ka BP) (Andreev and Klimanov  2000 ; Miller et al. 
 2010 ). On the other hand, the warmest time for non-coastal areas was the second 
half of the Atlantic period, 6–4.5 ka BP. Both winter (January), summer (July) and 
yearly mean values were greater than today by ca. 2–4 °C (Andreev and Klimanov 
 2000 ). The sea surface temperature in the Chukchi Sea was the warmest in the 
Holocene, oscillating between 2 and 5 °C, from 6 to 2.5 ka BP (see Figure 7 in de 
Vernal et al.  2005 ). Summer temperature differences between mid-Holocene and 
present temperatures calculated by models, as in the case of the Canadian Arctic, are 
more or less consistent and oscillate between 0 and 2 °C (Kaplan et al.  2003 ) or 1–2 
°C (Zhang et al.  2010 ; Berger et al.  2013 ). Signifi cantly weaker correspondence 
between model simulations exists for winter when the differences change from 0.0 
± 2 °C (see Kaplan et al.  2003 ; Zhang et al.  2010 ; Berger et al.  2013 ). However, the 
majority of models estimate positive temperature anomalies. 

 Summarising all the proxy  data   from the Eurasian Arctic presented in this section 
we can say that:

    1.    The Holocene climate until 1 ka BP was warmer than today, except during the 
early part and the period about 2 ka BP.   

   2.    A Climatic Optimum occurred between ~10 to ~8 ka BP (maritime part of the 
Eurasian Arctic) with temperatures being 1–3 °C higher than present, and 
between 6 and 4.5 ka BP (continental part of the Eurasian Arctic) with anomalies 
reaching 2–4 °C.   

   3.    A drop in temperature was noted between 4 and 2 ka BP (minimum) and then an 
amelioration of climate was observed with a temperature maximum of about 
900–1000 A.D.   

   4.    A signifi cant similarity of climatic changes was noted in the entire Arctic anal-
ysed as well as in the areas bordering the Norwegian and Greenland seas (Iceland, 
Jan Mayen, and Scandinavia) (Werner  1993 ).    

10.2         Period 1 ka – 0.1 ka BP 

 Generally speaking  in   the history of the climate of the last 1 ka years, three periods 
have most often been distinguished: the Medieval Warm Period (MWP), the Little 
Ice Age (LIA), and the Contemporary Global Warming (CGW). The latter period 
will be described in the next section. Thus, what do the proxy data tell us about the 
climate in the Arctic during the fi rst two periods? The most detailed answers are 
given by ice-core analyses, but other proxy data (in particular laminated lacustrine 
and marine sediments) are becoming increasingly important. 
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10.2.1     Greenland 

 The best ice- core   analyses from  the   whole Arctic are available for the Greenland Ice 
Sheet. In the fi rst half of the 1990s, the two longest ice cores (GRIP and GISP2) 
were drilled in the Summit (central part of Greenland) as well as 13 shallow ones 
(covering the last 500–1000 years) along the North-Greenland-Traverse. In addi-
tion, as was mentioned in the previous section, measurements of the borehole tem-
peratures allow the reconstruction of the surface temperature histories for GRIP and 
Dye 3 areas. Let us start with the analysis from the proxy data giving the most aver-
aged history. The borehole temperatures confi rm the MWP and the LIA as having 
existed in Greenland. As was mentioned in the previous section,  the   MWP occurred 
here earlier than in other parts of the world (this fact allows Vikings to have built 
settlements in the southern part of Greenland). Maximum warmth is centred between 
900 and 1000 A.D., but the beginning of this period can be dated between 500 and 
600 A.D. and the end about 1200 A.D. (Fig.  10.5c ). From this fi gure, it can be seen 
that temperatures at this time were about 1 °C greater than they are at present in 
Greenland. This period with temperatures higher than normal in Greenland lasted 
from about 200 A.D. to 1300 A.D. 

 The MWP is  also   clearly seen in the ice accumulation rate data (Fig.  10.2 ). The 
duration is the same as is shown by borehole temperatures but the  greatest   maxi-
mum of  ice   accumulation occurred around 800 A.D. 0n the other hand, the second-
ary maximum of accumulation corresponds very well with the maximum temperature 
from about 900–1000 A.D. The average accumulation from A.D. 620 to 1150 was 
0.26 m of ice per year, 8 % higher than the average Holocene accumulation rate and 
the highest rate recorded in the last 12 ka years (Fig.  10.9  and Meese et al.  1994 ). In 
coastal Greenland, the MWP began as early as 800 A.D. (Lamb  1977 ). Proxy data 
available to Lamb were, of course, not as precise as those presented here. For this 
reason, and because all of Greenland reacts equally to factors determining climatic 
changes at present (see Przybylak  1996 ,  2000 ), it seems that the start of the MWP 
in coastal parts should be shifted to about 600 A.D. The historical records, mainly 
from northwestern Europe, describe an MWP occurring anywhere between A.D. 
800 and A.D. 1300 (Lamb  1977 ; Houghton et al.  1990 ,  1996 ) with dates varying by 
as much as 200 years. This means that in Europe the MWP started about 200 years 
later than is indicated by the GISP2 record.

   The LIA  is   not as well defi ned as the MWP in the literature. The fi rst views, 
based on rather low-resolution proxy data, assumed that the LIA was one long, sus-
tained cold period with dates ranging from A.D. 1200 to 1800 or A.D. 1350 to 1900 
(for details see e.g. Lamb  1977 ,  1984 ; Starkel  1984 ; Grove  1988 ). The new, high- 
resolution, data reveal that this opinion  was   wrong, and that the climate during this 
period underwent signifi cant fl uctuations from cold to warm and warm to cold con-
ditions. However, through most of the period a cold climate occurred. The climatic 
changes in the LIA period in Greenland is shown in Figs.  10.5  and  10.9 ,  10.10 , and 
 10.11 .  The   reconstructed temperature for GRIP and the mean isotope record from 
northern Greenland (Figs.  10.5  and  10.10 ) clearly show the existence of an LIA in 
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Greenland. According to borehole temperatures, the LIA lasted from about A.D. 
1400 to 1900. Throughout this period, except for a few decades around 1700 A.D., 
the temperature was colder than at present in Greenland. Dahl-Jensen et al. ( 1998 ) 
distinguished two cold periods centred at 1550 and 1850 A.D. with temperatures 0.5 
and 0.7 °C below the present, respectively. The mean isotope record from northern 
Greenland (Fig.  10.10 ) shows that in this part of Greenland the LIA ended earlier, 
at about 1850 A.D. Based on an oxygen isotope record from Camp Century 
(Figure 1 in Johnsen et al.  1970 ), which lies in the same part of Greenland but has a 
longer record, we can assume that in the northern Greenland, similar to central 
Greenland, the start of the LIA occurred about 1400 A.D. In this record, the two 
minima are also quite evident, but the times of their occurrence are different. The 
fi rst minimum was centred around 1680 A.D. and the second around 1820–1830 
A.D. The temperature during these periods was estimated to be 1 °C lower than 
present (Fig.  10.10 ).

    The break in the prolonged cooling, observed particularly from about A.D. 1600 
to 1850, occurred in the second half of the eighteenth century. The greatest peculiar-
ity of this record, not observed in other records (see Figs.  10.5 ,  10.9  and  10.11 ), is 
the fact that the highest temperatures during the whole period recorded occurred at 
the end of the nineteenth century. The ice accumulation record from GISP2 
(Figs.  10.9  and  10.11 ) does not show so clearly the existence of  the   LIA in Greenland. 
However, this kind of data has a lower  reliability   than the two previous kinds. This 
is probably due to the fact that in the short-term scale (LIA) the positive correlation 
found by Meese et al. ( 1994 ) between precipitation (accumulation) and temperature 
(δ 18 O) is signifi cantly less than in the long-term scale (the Holocene). Przybylak 
( 1996 ), working  on   the basis of the instrumental observations, found that in the 
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  Fig. 10.9    The 100- year   smoothed accumulation record from the GISP2 core for the period A.D. 
500 to the present. The  arrows  show locations of visually identifi ed melt layers in the ice core 
(Reprinted with the permission from Meese D. A., Gow A. J., Grootes P., Mayewski P. A., Ram 
M., Stuiver M., Taylor K. C., Waddington E. D. and Zielinski G. A., ‘The accumulation record 
from the GISP2 core as an indicator of climate change throughout the Holocene’,  Science , 266, 
1680–1682. Copyright  1994  American Association for the Advancement of Science)       
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warmer and colder periods both above and below normal precipitation can occur in 
the Arctic. From this account, the mean accumulation over the last 800 years was 
slightly higher than normal (about 3 %), but there was signifi cant variability on 
decadal and century time scales (Fig.  10.10 ). Surprisingly, however, the accumula-
tion variations agree quite well with surface temperatures reconstructed for the 
GRIP borehole. The greatest discrepancies are the facts that: (1) the fi rst accumula-
tion minimum occurred about 100 years earlier than the minimum temperature and 
(2) the accumulation after 1850 A.D. does not show any rise.  

   Fig. 10.10     ( a ) Stacked isotope record of core B18, B21, and B29 for time span 1480–1969:  Thin 
line  represents the average of the triannual data sets,  thick line   and    shading  using  dots  the mean and 
standard deviation of the spline approximations after subtracting the core averages; ( b ) stacked 
record of Na + concentrations in core B16, B18, and B21. To allow for different absolute sea salt 
level in each core, which are largely caused by the different altitude of the drill sites, Na + concen-
trations were normalised to the individual core average, ( c ) 3 years intervals of reconstructed solar 
irradiance for the time span 1612 to 1913 (Lean et al.  1995 ), ( d ) S0 4  2+  concentration above back-
ground ( thin line ) and frequency in a 30 year interval ( dotted bars ) of stratospherically derived 
volcano horizons in the annual record of core B21 (After Fischer et al.  1998 )       
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10.2.2     Canadian High Arctic 

 A review of  the   ice-core literature and data (e.g. Koerner and Fisher  1981 ; Bradley 
 1990 ; Koerner  1992 ) presenting  the   history of the climate in the Canadian Arctic in 
the Holocene period and particularly in last two to three millennia shows that in this 
part of the world the MWP is rarely distinguished. Generally most researchers indi-
cate a steady decrease in temperature from 2000 to 3000 BP until the LIA period. 
Similar results have also been obtained based on glacial geology records (Blake 
 1981 ,  1989 ) as well as on peat, driftwood, whalebone, pollen, and mollusc studies 
(Blake  1975 ; Dyke and Morris  1990 ; Dyke et al.  1996 ,  1997 ; Peros and Gajewski 
 2008 ). 

 Recently, however, some works were published which show a possibility of 
MWP’s existence between A.D. 1100 and A.D. 1400 (Koerner  1999 ; Besonen et al. 
 2008 ). Koerner ( 1999 ) has suggested that the  MWP   could have occurred from A.D. 
1200 to A.D. 1400. This statement is only partly documented by the δ 18 O record 
(see Fig.  10.12 ), which shows that this was really only the case during the  periods   
A.D. 1200–1250 and A.D. 1350–1400. On the other hand, Besonen et al. ( 2008 ) 
analysing varved lake sediments from Lower Murray Lake (northern Ellesmere 
Island), found two periods (early twelfth and late thirteenth centuries) when sum-
mer temperatures were comparable with those occurring in recent decades.

  Fig. 10.11    The 25-year smoothed accumulation record from the GISP2 core from A.D. 1650 to 
the present.    The dates above the  arrows  correspond to years of decreased accumulation that cor-
relate with dated glacial advances or cold periods in Greenland and elsewhere (Grove  1988 ) 
(Reprinted with the permission from Meese D. A., Gow A. J., Grootes P., Mayewski P. A., Ram 
M., Stuiver M., Taylor K. C., Waddington E. D. and Zielinski G. A., ‘The accumulation record 
from the GISP2 core as an indicator of climate change throughout the Holocene’,  Science , 266, 
1680–1682. Copyright  1994  American Association for the Advancement of Science)       

 

10 Climatic Change and Variability in the Holocene



207

   On the other hand, the  LIA   period is distinctly visible in the light of the available 
proxy data. For example, both ice-core records (Figs.  10.12  and  10.13 ) from the 
high Canadian Arctic (Devon Island and Ellesmere Island) reveal the existence of 
an LIA ranging from A.D. 1400–1550 to 1900. However, given the results of 
Bradley’s review (Bradley  1990 ), most researchers assume that start of the LIA 
probably occurred in the mid-sixteenth century. The LIA is particularly clearly dis-
tinguished in the records showing the core area affected by melting (Fig.  10.13 ). 

   Fig. 10.12     Five-year averages  of   oxygen isotope (δ) for the last 800 years from Devon Island ice 
cap (Alt 1985) (After Alt et al.  1992 , modifi ed)       

  Fig. 10.13     Reconstructed   summer temperature anomaly for Svalbard ( 1 ), Agassiz ice cap ( 2 ), and 
Devon Island ice cap ( 3 ) (referenced to the mean of each series from 1860 to 1959). The Svalbard 
record is of summer melt from the Lomonosov ice cap in Svalbard (Spitsbergen – Tarussov  1992 ). 
The series from the Agassiz (Northern Ellesmere Island) and Devon Island ice caps (Canada) are 
based on ice core studies (Koerner  1977a ; Koerner and Fisher  1990 ). All records show the core 
area affected by melting, expressed as percentage departures from the mean (After Bradley and 
Jones  1993 )       
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Only melting on the Devon Island Ice Cap had  above   normal values in the 
 mid- sixteenth century and in the short period centred around 1780 A.D.  On   the 
other hand, the isotope record shows the existence of fl uctuations in climate around 
the long-term mean. However, the dominance of cold spells is unquestionable (Fig. 
 10.12 ). The warmest periods during the LIA occurred in the mid-fi fteenth century 
(also seen in Agassiz Ice Cap, Fig.  10.13 (2)).

   The slight maximum of temperature around A.D. 1600 was signifi cantly lower 
and interrupted by short cold spells, and probably therefore it is not registered in 
summer melting records. Other proxy data (lake sediment and tree-ring records) 
collected for the last four centuries (see Figure 2 in  Overpeck et al. 1997 ) clearly 
indicate the presence of the LIA prior to A.D. 1850–1900. The existing documen-
tary records from the Canadian Arctic used mainly the Hudson Buy Company 
Archives from remote trading posts from the eighteenth and nineteenth centuries 
(e.g. Moodie and Catchpole  1975 ; Wilson  1988 ,  1992 ; Ball  1983 ,  1992 ; Catchpole 
 1985 ,  1992a ,  b ) also confi rm the occurrence of the LIA in this time. All these inves-
tigations clearly confi rm the exceptionally cold conditions of the early nineteenth 
century. Besonen et al. ( 2008 ) recently confi rmed these fi ndings but also prolong the 
period for the entire eighteenth century. Bradley ( 1990 ), summarising proxy data 
from the Queen Elizabeth Islands,  has   identifi ed the LIA period from 400 to 100 
years BP as particularly severe. Moreover, he writes that this period “may have been 
the coldest period in the entire Holocene.” On the other hand, Evans and England 
( 1992 ) did  not   fi nd any well-recorded geomorphological evidence on northern 
Ellesmere Island confi rming the existence of the LIA. Nevertheless, they noted fur-
ther that undated dual advances by some glaciers might refl ect mid-Holocene and 
the  LIA   accumulations. They add also that the formation and destruction of ice 
wedge polygons in sandar indicate respective reduction and increase in meltwater 
discharge associated with the LIA and then recent warming.  

10.2.3     Eurasian Arctic 

10.2.3.1     Maritime Part (Including Islands) 

 Again, as in the  previous   section, the best proxy data for this part of the Arctic are 
to be found in Svalbard.    Therefore, the history of the climate for the period analysed 
will be presented mainly using information from this area. Researchers investigat-
ing the history of the climate in the Holocene period (e.g. Tarussov  1992 ; Werner 
 1993 ; Svendsen and Mangerud  1997 ) generally do not mention the existence of the 
MWP. Most of them indicate late-Holocene climatic deterioration (see also 
Sect.  10.1 ), which began around ca. 4000 BP (Werner  1993 ) or 3000 BP (Tarussov 
 1992 ) and persisted to the LIA (Werner  1993 ) or to the nineth century (Tarussov 
 1992 ). However, there are also some researchers who indicate that the warmer 
period occurred between A.D. 600 and A.D. 1100 (e.g. Baranowski and Karlén 
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 1976 ; Baranowski  1977b ; Haggblom  1982 ; Svendsen and Mangerud  1997 ; 
Guilizzoni et al.  2006 ). For example, Svendsen and Mangerud ( 1997 ), analysing the 
rate of lake sedimentation (Linnevatnet lake), found that glacial maxima occurred 
around 2800–2900 BP, 2400–2500 BP, 1500–1600 BP and during the LIA. Thus 
between these periods warmer conditions prevailed. Baranowski ( 1977b ) even sug-
gested that the MWP probably lasted longer and was warmer than the contemporary 
warm period. The climate in the transitional period between the MWP and the LIA 
(i.e. in the twelfth century and in the fi rst half of the thirteenth century) was near the 
norm (Gordiyenko et al.  1981 ). From this analysis, and that presented earlier for the 
Canadian high Arctic, it may be concluded that late-Holocene histories of climate 
in both study areas are roughly similar. The greatest difference, however, concerns 
the time of the occurrence and the magnitude of warming during the MWP. It seems 
that this period was clearer in the Eurasian Arctic islands than in the Canadian high 
Arctic and that it occurred earlier, i.e. probably at the same time as it occurred in 
Greenland. 

 Proxy data for the  LIA   period present a clearer climatic picture. In Svalbard, 
similar to Greenland and  the   Canadian Arctic, the ice-core results from the 
Lomonosov ice cap and the Grønfjord-Fridtjof ice divide distinctly show the exis-
tence of the LIA ranging from A.D. 1300–1400 to 1900. This is very well seen both 
in the isotope record (Fig.  10.14 ) and the summer melt (Fig.  10.13 (1)). Most of the 
geomorphological proxy data give the same results. Baranowski ( 1977b ) concluded 
that the LIA period in Spitsbergen occurred between around 750 and 110 years 
BP. Similar results for this island are also presented by Punning and Troitskii ( 1977 ). 
The maximum advance of glaciers here occurred about 1600 A.D. and between 
1750–1850 A.D. (Ahlmann  1948 ,  1953 ). Also the botanical proxy data confi rm the 
existence of the LIA during this time with the culmination between the seventeenth 
and nineteenth centuries (Surova et al.  1982 ). Grossvald ( 1973 ) found that on 
Zemlya Frantsa Josifa the LIA began in the fourteenth century and ended about 
1900 A.D. Bazhev and Bazheva ( 1968 ) gave very little information concerning the 
behaviour of glaciers in Novaya Zemlya during the LIA. They stated only that the 
start of the LIA occurred after the sixteenth century.

   The  LIA   was interrupted in Spitsbergen in the sixteenth century. However, the 
pronounced warming occurred mainly in the lower located glaciers (Fig.  10.14 ). On 
the other hand, on the Lomonosov plateau (1000 m a.s.l.) both warm  and   cold spells 
occurred during this period. Summer melting here was above normal only in the two 
fi rst decades of the twentieth century (Fig.  10.13 (1)). On the other hand, the LIA on 
the Nordaustlandet Island began with a signifi cant delay, in comparison with most 
of the above-mentioned records, i.e. about 1600 A.D. (see Fig.  10.14 ). The greatest 
temporal asynchronicity of glacioclimatic conditions can be clearly noted between 
Spitsbergen and Nordaustlandet in the period 1200–1500 A.D. However, there is 
full agreement that the culmination of the LIA occurred between the seventeenth 
and nineteenth centuries, although during this period some warming phases have 
also been observed. For example, surprisingly high values of summer melting were 
noted in the fi rst two decades of the nineteenth century on the Lomonosov plateau, 
while in the Canadian Arctic (as has been mentioned) and also in Greenland very 
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severe conditions prevailed. However, such an opposite tendency of air  temperatures 
in the parts of the Arctic mentioned is also occurring at present (see Przybylak 
 1997b ). The isotopic record also shows slightly lower than normal temperatures, but 
they are signifi cantly higher than in the mid-nineteenth century. An excellent agree-
ment between summer melt and isotopic data (see Figs.  10.13  and  10.14 ) exists for 
the mid-nineteenth century. The area affected by melting was almost two times 
lower than normal. These exceptionally cold conditions in the Svalbard caused the 
signifi cant advances of glaciers. As a result, the LIA moraines are typically the most 
extensive and best preserved (e.g. Szupryczyński  1968 ; Liestøl  1969 ; Niewiarowski 
 1982 ; Pękala and Repelewska-Pękalowa  1990 ; Werner  1990 ,  1993 ; Elverhøi et al. 
 1995 ; Svendsen and Mangerud  1997 ). At the Austfonna (Fig.  10.13 (2), 
Nordaustlandet), this mid-nineteenth century cooling was shifted to the turn of the 
nineteenth and twentieth century. 

 Werner ( 1993 ) also found  a   second period when moraines were deposited (ca. 
650 years BP). It was probably connected with the evident climate deterioration in 
the northern part of Spitsbergen between A.D. 1250 and 1350 (see Fig.  10.14 (3), 

  Fig. 10.14    Variations in δ 18 O for  the   Svalbard ice cores: ( 1 ) Westfonna, ( 2 ) Austfonna, ( 3 ) 
Lomonosov plateau, ( 4 ) Grönfjord-Fridtjof ice divide (After Vaikmäe  1990 )       
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Lomonosov plateau). On the other hand, the southern part of Spitsbergen and also 
Nordaustlandet had a slightly warmer than normal climate during this period.  

10.2.3.2     Continental Part 

 Quite a large number of  papers   have been published in recent decades showing cli-
mate reconstructions for the northern continental part of the Russian Arctic (see, for 
example, Andreev and Klimanov  2000 ; Andreev et al.  2002 ,  2003  and references 
therein). All these sources reveal the existence of MWP around A.D. 1000, similarly 
as in many other parts of the Arctic (see Miller et al.  2010 ). Air temperature in this 
part of the Russian Arctic was higher than present by 1–2 °C, both in summer, win-
ter and throughout the entire year. According to the same sources, the LIA occurred 
between 500 and 200 BP and was less pronounced than MWP. Temperature was 
lower than today by 0–1 °C. 

 Summarising the  results   presented, one can conclude that most proxy data from 
the Arctic indicates that the MWP was noted around 1000 A.D., while the LIA 
period occurred between 1300 and 1400 and 1900 A.D. In accordance with recent 
fi ndings, this cold period was interrupted by shorter or longer warm periods, which 
were observed in different periods, but mainly before 1800 A.D. The majority of the 
proxy data presented show that the greatest cooling in the Arctic occurred in the fi rst 
half (the Canadian Arctic) and around the mid- or in the second half (Svalbard and 
probably other Eurasian Arctic) of the nineteenth century.    

10.3     Period 0.1 ka – Present 

 It is clear from Sect.   4.1    . that a reliable estimate of areally averaged  Arctic   tempera-
ture can only be offered from circa 1950. Nonetheless,    in the literature, many works 
can be found which also provide an areally averaged “Arctic” temperature for ear-
lier years (e.g. Kelly and Jones  1981a ,  b ,  c ,  d ,  1982 ; Kelly et al.  1982 ; Jones  1985 ; 
Alekseev and Svyashchennikov  1991 ; Dmitriev  1994 ; Polyakov et al.  2003 ; 
Johannessen et al.  2004 ; van Wijngaarden  2014 )). “Arctic” is used here in inverted 
commas because, in reality, these series represent the temperature changes in 
selected northern latitude bands which, as follows from Fig.   1.1    , signifi cantly differ 
from the Arctic as defi ned in this book. Until 1911 the only Arctic stations for which 
it has been possible to compute these series were located in Greenland and Novaya 
Zemlya. Other data used in these analyses were taken from stations located in the 
Subarctic and even in the mid-latitudes. Moreover, the station coverage of these 
regions was very low, especially in the nineteenth century and was biased towards 
the lower latitudes. For example, Jones ( 1985 ) states that the “Arctic” temperature 
was computed from grid points (5° × 10°) covering only 6, 10, and 20 % of the lati-
tude band 65°N–85°N in the years 1851, 1874, and at the end of the nineteenth 
century, respectively. This author opposes the defi nition of such series as “Arctic” 
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because such defi nitions lead inevitably to the identifi cation of misleading estimates 
of Arctic air temperature tendencies. This is very well illustrated in Fig.  10.15 , from 
which it can be seen that a warming in the 1930s was most pronounced in the real 
Arctic (see the top curve which represents the real Arctic in the greatest degree). 
This warming is reduced when more areas from the Subarctic and from the mid- 
latitudes are included in the Arctic. The second phase of contemporary warming 
(after 1975) in the real Arctic series is not seen, while in the other series it is distinct. 
For the whole Northern Hemisphere (bottom curve) the warming in last decades is 
even greater than in the 1930s.

10.3.1       Temperature Variations Prior to 1950 

 Przybylak ( 2000 ) chose six stations to illustrate the variation of Arctic air tempera-
ture prior to 1950 (Fig.  10.16 ). All of them represent the analysed climatic regions 
and offer long series. Figure  10.16  shows slightly rising temperatures in Greenland 
prior to 1920. After this time, the rate of  warming   signifi cantly increases. This trend 
was noticed very early in Greenland and in the Atlantic Arctic region and has been 
described by various authors (e.g. Knipovich  1921 ; Scherhag  1931 ,  1937 ,  1939 ; 
Hesselberg and Birkeland  1940 ; Vize  1940 ; Weickmann  1942 ; Lysgaard  1949 ). The 
maximum temperature occurred in the 1930s and was higher by about 2–5 °C than 
those occurring prior to the 1920s. The most pronounced rise in temperature 
occurred in the Atlantic region and throughout the Arctic in winter. During this sea-
son, the mean temperature rose locally by up to 9 °C (Przybylak  1996 ,  2002a ). 
Since the 1930s a statistically signifi cant decrease in temperature has been noted.

   All stations show two waves of warming, in the early twentieth century and at 
turn of the twentieth century. In the twentieth century, the greatest warming occurred 
in the 1930s. The reason most often given for this warming wave is a change in 
atmospheric circulation (see e.g. Scherhag  1931 ; Weickmann  1942 ; Petterssen 
 1949 ; Lamb and Johnsson  1959 ; Girs  1971 ; Lamb  1977 ; Lamb and Morth  1978 ; 
Kononova  1982 ; Bengtsson et al.  2004 ; Overland and Wang  2005a ; Wood and 
Overland  2010 ), which is now thought to have been at least partly related to the 
 North Atlantic Oscillation (NAO)  . In this decade, as has recently been reported by 
Slonosky and Yiou ( 2001 ), the values of the NAO index were comparable to those 
occurring in the late twentieth century. However, patterns of  temperature   changes in 
the two periods differ, particularly in the area of western Greenland, where warming 
also occurred in the 1930s (see Fig.  10.16 ). The NAO and its infl uence on the Arctic 
climate is described in Sect.  10.3.3 . Between mentioned, two main waves of warm-
ing in some parts of the Arctic an additional smaller and shorter warming was noted 
as for example in Svalbard in the 1950s. On the other hand, in Greenland the peak 
of the early twentieth-century warming which had begun in the 1930s continued 
until the 1960s. In Alaska, early twentieth century warming was less evident. 

 Spatial coherency in Arctic temperature changes was signifi cantly greater before 
the 1950s than it was afterwards (Fig.  10.16 ).  
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  Fig. 10.15    Year-to-year course  of   annual (1,  solid line ) and 5-year running (2,  heavy solid line ) 
mean anomalies of air temperature for the zones (After Przybylak  1996 ): ( a ) 70°N-85°N (After 
Dmitriev  1994 ); ( b ) 65°N–85°N (After Alekseev and Svyashchennikov  1991 ); ( c ) 60°N–90°N 
(After Jones 1995, personal communication); ( d ) 0°N–90°N (After Jones  1994 )       
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10.3.2     Temperature Variations After 1950 

 Detailed research into air temperature tendencies in the Arctic using data from 33 to 
35 stations in the periods from 1951 to 1990 (Przybylak  1996 ,  1997a ,  2002a ) and 
from 1951 to 1995 (Przybylak  2000 ) revealed the predominance of negative trends, 
even though most of them were not statistically signifi cant. Similar results have also 
been obtained by Chapman and Walsh ( 1993 ); Kahl et al. ( 1993a ,  b ); Walsh ( 1995 ); 
Born ( 1996 ); Førland et al.  1997  and others. 

 The areally averaged seasonal and annual Arctic temperatures computed using 
data from 30 grid-boxes (after Jones  1994 , updated) located in the study area are in 
good agreement with the above results obtained from the stations (see Przybylak 

  Fig. 10.16    Year-to- year   course of the annual ( solid line ) and 5-year running ( heavy solid line ) 
mean anomalies of air temperature (reference period 1951–1990) in the Arctic stations having the 
longest observational series (After Przybylak  2000 ; updated)       
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 2000 ). This data set, however, represents the Arctic without almost the entire region 
of Siberia. In addition, one should add that the quality of this type of data in its pres-
ent state is signifi cantly lower than the stations’ data used by Przybylak ( 2000 ). In 
contrast  to   grid-box data, the temperature series from stations have no gaps. Taking 
these factors into account, identifi cation of characteristics of long-term Arctic tem-
perature variations should still be based on stations’ data. 

 A comparison of temperatures calculated from stations and grid-boxes (Przybylak 
 2000 ) indicates that the general patterns of seasonal and annual Arctic temperature 
variation are roughly similar. The greatest differences occur in winter and autumn. 
Correlation coeffi cients computed between these series entirely confi rm these con-
clusions. The highest correlation was found for summer ( r  = 0.90) and spring 
( r  = 0.82), and the lowest for winter ( r  = 0.55) and autumn ( r  = 0.66). For the annual 
values,  the   correlation coeffi cient is equal to 0.74. All these correlations are statisti-
cally signifi cant at the level of 0.001. 

 Slight increases in air temperature in the Arctic have been prevailing in the 
recently observed “second phase of contemporary warming” (after 1975). However, 
they are up to four times smaller for the areally averaged Arctic air temperature than 
for the analogous series for the Northern Hemisphere (land + ocean). Such a situa-
tion occurred, for example, in the period 1976–1995 (Przybylak  2000 ). 

 These results raise the following question: What are the causes of the lack of 
warming in the Arctic in the above period? According to Przybylak ( 1996 ,  2000 , 
 2002a ), this situation may result from:

    1.    A delay in the reaction of the Arctic climatic system, which has considerable 
inertia because of large water masses, along with sea and land ice. One may liken 
the Arctic to a large refrigerator. To warm such a refrigerator, a signifi cantly 
greater amount of energy must be supplied than would be necessary to warm a 
lower latitude region to the same degree. This means that the warming in the 
Polar regions connected with the increasing radiation forcing will occur later 
(not earlier as is commonly assumed) than in lower latitudes. This conclusion is 
consistent with results presented by Aleksandrov and Lubarski ( 1988 ). Analysing 
observational evidence, they found that in the phase  of   global warming, the 
increase of air temperature in the Arctic was occurring later than in the lower 
latitudes. On the other hand, in the phase of global cooling, the opposite relation 
exists. It may be said that this confl icts with the warming in 1920–1940, which 
occurred earlier in the Arctic than in other parts of the world. This is correct, but 
the main reason for the latter warming was a change in atmospheric circulation. 
As such, the reaction of climate to a change of forcing is immediate. The consid-
erable inertia of an Arctic climate system should also signifi cantly delay the start 
of positive feedback mechanisms (such as sea-ice – albedo – temperature feed-
back) which are responsible for a signifi cant portion of Arctic greenhouse 
warming.   

   2.    The infl uence of natural factors (mainly a change in atmospheric circulation) 
which, while leading to a cooling of the Arctic, considerably reduces or com-
pletely removes the warming caused by the greenhouse effect. Przybylak ( 1996 , 
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 2002a ) shows that since the mid-1970s there have occurred signifi cant increases 
in the frequency of the occurrence of the zonal macrotype of circulation (W) and 
decreases in the occurrence of the eastern macrotype of circulation (E), accord-
ing to the typology of Vangengeim-Girs (see e.g. Girs  1948 ,  1971 ,  1981 ; 
Vangengeim  1952 ; Barry and Perry  1973 ). The fi rst macrotype gives negative 
temperature anomalies in the  Arctic   and the second gives positive ones. This 
means that the described circulation changes lead to the cooling of the Arctic. 
Other natural factors should also cause Arctic cooling, e.g. the statistically sig-
nifi cant decrease of solar irradiance in the Arctic reported by Stanhill ( 1995 ) and 
the downward trend of solar activity observed since 1957 when the secular maxi-
mum occurred. Voskresenskiy et al. ( 1991 ) found decreasing Arctic tempera-
tures in the periods of lower solar activity.   

   3.    The infl uence of a rising concentration of anthropogenic sulphate aerosols. 
Santer et al. ( 1995 ) found that the anti-greenhouse effect made  by   sulphate aero-
sols since pre-industrial times is greater in most of the Arctic than the green-
house effect connected with the rise of CO 2  during the same period.   

   4.    The combined effect of these factors.    

  The above situation rapidly changed due to the pronounced warming of the 
Arctic, which began in the middle of the 1990s and has persisted until now 
(Przybylak  2007 ). Przybylak ( 2002a ), using data from 46 stations (37 from the 
Arctic and 9 from the Subarctic), reported that the greatest warming occurred in the 
Canadian Arctic and in Alaska, where 5-year anomalies fl uctuated most often from 
1 to 2 °C above the 1951–1990 mean. Signifi cant warming also occurred in the 
Norwegian Arctic. The warming was clearly weakest in the Russian Arctic and on 
 the   western coast of Greenland. For the majority of the analysed stations, the pentad 
1996–2000 has been the warmest since 1951. This is true of all stations in the 
Canadian Arctic and most of the stations in Pacifi c region (PACR). In the remaining 
area of the Arctic, the warmest pentad was usually that from the 1950s. Przybylak 
( 2007 ) updated this set of data to 2005 and found a general continuation of the 
described patterns of spatial and temporal changes in mean seasonal and annual 
surface air temperatures in the Arctic. Analysing the 11 years from 1995 to 2005, 
Przybylak found that this period saw dramatic warming in the Arctic (>1 °C for 
annual values in relation to the 1951–1990 mean). The most pronounced warming 
occurred in autumn and spring (1.3–1.5 °C), and the least in summer (0.7 °C). The 
greatest  warming   in the period 1995–2005 occurred in the Pacifi c and Canadian 
regions (1.3–1.5 °C), with the lowest in the Siberian region (SIBR, 0.82 °C). 
According to Przybylak ( 2007 ), the analysed period was the warmest since at least 
the 17 th  century. In particular, 2005 was an exceptionally warm year (>2 °C in rela-
tion to the 1951–1990 mean) and was warmer than 1938, the warmest year in the 
twentieth century. 

 In this book, different aspects of air temperature changes from period 1951–1990 
to 1991–2010 are shown and analysed (Table  10.2 , Figs.  10.17 ,  10.18 ,  10.19 ,  10.20 , 
 10.21 , and  10.22 ). Anomalies calculated for the annual air temperature for 1991–
2010 (in respect to the long-term mean from 1951 to 1990) reveal that the greatest 
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warming (>1.5 °C) occurred in the northwestern and northeastern parts of the 
Canadian Arctic and on the northern coast  of   Alaska (Fig.  10.17 ). It was also of the 
same magnitude over Svalbard. A more than 0.5 °C smaller warming was noted in 
coastal parts of southern Greenland and in continental Eurasia. Areal-averaged 
annual air temperature for the entire Arctic in period 1991–2010 exceeded the norm 
by 1.2 °C (Table  10.2 ). Mean air temperatures for the climatic regions analysed in 
the present work revealed that they were warmest in the Canadian region (CANR, 
anomaly of 1.3 °C), as well as in PACR and Atlantic (ATLR) regions where anoma-
lies reached 1.2 °C.

         The smallest air temperature increases occurred in the  Baffi n Bay region (BAFR)  , 
at just 0.8 °C above the norm.    In all the analysed seasons, air temperature in the 
Arctic in the period 1991–2010 was higher than in the previous 40 years (Table 
 10.2 , Fig.  10.18 ). During this time, autumn and spring air temperature increased 
most (by 1.4 °C and 1.3 °C, respectively), while, a signifi cantly weaker warming 
(only by 0.7 °C) occurred in summer (Table  10.2 ). Such a pattern of changes was 
observed in all regions, except ATLR, where clearly greater warming occurred in 
winter and spring (by 1.5 °C) than in autumn (only 1.1 °C). 

 An analysis of the spatial distribution of seasonal anomalies of air temperature in 
the period 1991–2010 (Fig.  10.18 ) fully confi rms the conclusions obtained on the 
basis of areally averaged air temperature. The picture shows that the warming was 
most common in autumn and spring. In comparison to the anomalies calculated for 
the decade 1981–1990 (see Figure 11 in Przybylak  1996  or Figure 5.5 in Przybylak 
 2002a ), the most signifi cant changes in the studied period occurred in autumn. 
These changes were particularly signifi cant in the northern part of the Canadian 
Arctic and in the Norwegian Arctic. In the 1980s, negative anomalies of air tem-
perature in autumn prevailed in these areas, while at present large positive  anomalies 

            Table 10.2     Anomalies  of   mean seasonal and annual air temperatures from the period 1991–2010 
(in °C) in the Arctic referred to the mean 1951–1990   

 Area  DJF  MAM  JJA  SON  ANNUAL 

 Atlantic region  1.45  1.38  0.57  1.06  1.12 
 Siberian region   0.61   1.12   0.52   1.61  0.99 
 Pacifi c region  0.95  1.42  0.79  1.66  1.23 
 Canadian region  1.13  1.21  0.82  1.76  1.28 
 Baffi n Bay region  0.63   0.77   0.62   0.92    0.79  

 Arctic 1  1.12  1.25  0.69  1.43  1.15 
 Arctic 2 (land + ocean)  0.85  1.05  0.64  0.85  0.86 
 Arctic 3 (land only)  1.04  1.23  0.66  1.07  1.01 
 NH (land + ocean)  0.86  0.80  0.63  0.67  0.74 

   Bold numbers  denote the smallest 20-year anomalies of air temperature, Arctic 1 – areally aver-
aged temperature based on data from 34 Arctic stations, Arctic 2 – areally averaged temperature 
for 60–90°N latitude band (land + ocean, After Morice et al.  2012 , modifi ed), Arctic 3 – areally 
averaged temperature for 60–90°N latitude band (land only, After Jones et al.  2012 , modifi ed), NH 
(land + ocean) – areally averaged temperature for Northern Hemisphere (After Jones et al.  2012 , 
modifi ed)  
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  Fig. 10.17    The spatial distribution of  the   mean annual trends in air temperature (°C/10 years, 
upper map) over the period 1951–2010 and the anomalies of mean annual 20-year (1991–2010) air 
temperature, with the 1951–1990 mean (°C, lower map) in the Arctic. Contours over the Arctic 
Ocean indicate that the data are extrapolated from the coastal stations       

 



219

reaching 1–2 °C and even more have been noted in the north-eastern part of the 
Canadian Arctic Archipelago.    Generally, in the period 1991–2010, positive anoma-
lies were observed in the Arctic in all seasons, except in winter when small negative 
anomalies were seen in the southern part of BAFR (Fig.  10.18 ). In the 1990s, warm-
ing in winter was a few times lesser than in spring and autumn (see Table  10.2  in 
Przybylak  2003 ). However, after 1995, as stated earlier, a signifi cant increase of 
temperature occurred also in winter, and as a result the mean 20-year temperature 
anomaly for the entire Arctic was only slightly smaller than in spring (by 0.1 °C) 
and autumn (by 0.2 °C) (see Table  10.2 ). It must be emphasized here that warming 
in the transitional seasons is clearly greater over the Arctic Ocean (usually 1.5–
2.5 °C) than in winter (0.8–1.5 °C), while the opposite is true in many places in the 
lower Arctic, but particularly in the Norwegian Arctic and north-western Canadian 
Arctic. In summer, the spatial diversity of air temperature anomalies is smallest, 
most often varying from 0.5 °C to 1.0 °C (Fig.  10.18 ). The greatest warming 

  Fig. 10.18    The  spatial   distribution of the anomalies of mean seasonal 20-year (1991–2010) air 
temperature, with the 1951–1990 mean (°C) in the Arctic. Key: negative anomalies are hatched; 
contours over the Arctic Ocean indicate that the data are extrapolated from the coastal stations       
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(>1.0 °C) in this season was noted only in the southern part of the Canadian Arctic. 
These results differ signifi cantly from those obtained by Chapman and Walsh 
( 1993 ), and by Rigor et al. ( 2000 ) for the periods 1961–1990 and 1979–1997, 
respectively. They concluded that summer warming did not occur in the Arctic. 

 For all seasons except winter, and in particular for the years during the 20-year 
period 1991–2010, changes in areal-averaged air temperature in the Arctic (Arctic 
1) correlate well with the changes in Northern Hemisphere air temperature 
(land + ocean), and with the changes in air temperature in the zone stretching 
between 60 and 90°N (Arctic 2 and Arctic 3) (Table  10.2 ). The greatest consistency 
of anomalies occurs in summer, when recent years have shown the same warming 
in the entire Northern Hemisphere. On the other hand, the high Arctic (i.e. Arctic 1) 
warmed two times more in autumn than the Northern Hemisphere. For annual val-
ues, this ratio is equal to 1.5 (Table  10.2 ). Anomalies calculated based on tempera-
ture taken from land-only grids (Arctic 3) are clearly closer to those obtained from 
stations. 

 Since about the mid-1990s the rate of warming in the real Arctic became greater 
than the increasing rate  of   Northern Hemisphere air temperature (Fig.  10.19 ). 
Earlier, such a situation had occurred in the 1950s, the period ending the warming 
phase of the Arctic which had begun in the 1920s. In the twenty-fi rst century, the 
temperature in the Arctic reach and even exceeds the level of the warming that 
occurred in the 1930s and 1940s – the greatest warming of the twentieth century. In 
this decade, the rate of warming in the Arctic is slightly more than twice as great as 
in the Northern Hemisphere. 

  Fig. 10.19    Running 5- year   mean annual anomalies of air temperature in the Arctic (Arctic 1 and 
Arctic 2) and the Northern Hemisphere (NH) over the period 1951–2010. Key: Arctic 1 – areally 
averaged air temperature based on data from 34 Arctic stations, Arctic 2 – areally averaged air 
temperature for 60–90°N latitude band (After Morice et al.  2012 , modifi ed), NH – combined 
land + ocean areally averaged air temperature for Northern Hemisphere (After Jones et al.  2012 , 
modifi ed)       
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 In comparison both with the period 1951–1990 (Table 5.11, Figs. 5.20 and 
5.21 in Przybylak  2002a ) and with the period 1951–2000 (Figs. 10.19, 10.20, and 
10.21 in Przybylak  2003 ), the inclusion of the data from the fi rst decade of the 
twenty-fi rst century exerted a signifi cant infl uence on the values of the trends of air 
temperature (Figs.  10.17 ,  10.20 ,  10.21 , and  10.22 ). From 1951 to 1990, air tempera-
ture in the Arctic revealed negative trends for all seasons of the year and for annual 
means. These trends  were   statistically signifi cant only in autumn. According to 
annual means, the greatest cooling of the Arctic occurred in BAFR (where trends 
were statistically signifi cant), CANR, and ATLR. PACR was the only region that 
revealed a positive trend during this period. 

  Fig. 10.20    Year-to-year courses  of   mean annual anomalies of air temperature and their trends in 
the climatic regions of the Arctic and for the Arctic as a whole over the period 1951–2010 (Based 
on data from 37 stations). Key:  solid lines  – year-to-year courses,  heavy solid lines  – running 
5-year mean,  dashed lines  – linear trends       
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 The inclusion of the 1990s in the calculations changed the trends of areally 
averaged air temperature for all the Arctic and for particular regions (Figs. 10.19 
and 10.20 in Przybylak  2003 ), along with the spatial distribution of air temperature 
in this area (Figs. 10.16 and 10.21 in Przybylak  2003 ). In the period 1951–2000, 
the trend of areally averaged annual air temperature in the Arctic (Arctic 1) was 
already positive (0.08 °C/10 years). Positive trends also occurred in all seasons 
(Fig. 10.20 in Przybylak  2003 ). The highest increase  in   air temperature was 
observed in spring (0.15 °C/10 years), while the lowest occurred in winter and in 
summer (0.04 °C/10 years). However, it should be emphasised that neither sea-
sonal nor annual trends were statistically signifi cant. These trends were signifi -
cantly (usually 2–3 times) lower than in the area referred to as Arctic 2. Except for 
spring and autumn, these trends are also lower than those that occurred in the 
period 1951–2000 in the Northern Hemisphere, which were statistically signifi cant 
in all individual seasons and for the year as a whole, usually at the level of 0.001 
(see Table 10.2 in Przybylak  2003 ). 

 The fi rst decade of the twenty-fi rst century saw a dramatic increase in the  air 
temperature of the   Arctic (about 1.5–2 °C compared to the mean from 1951–1990 – 
see Figs.  10.19 ,  10.20 , and  10.21 ). As a result, trends calculated for the period 
1951–2010 in all climatic regions (also the entire Arctic) and all seasons are posi-
tive, with the majority of them statistically signifi cant (Table  10.3 ).

   In the period 1951–2010, trends in annual air temperature in the Arctic were 
positive throughout the research area (Table  10.3 ; Fig.  10.17 ), while in period 

  Fig. 10.21    Year-to-year courses  of   mean seasonal anomalies of air temperature and their trends in 
the Arctic over the period 1951–2010 (Based on data from 37 stations). Key as in Fig.  10.20        
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1951–2000 negative trends were observed for the southeastern part of CANR, the 
southern part of BAFR, and the southwestern and eastern parts of ATLR (see 
Fig. 10.16 in Przybylak  2003 ).  The   greatest increases in air temperature (near or 
more than 0.4 °C per 10 years) occurred in the southwestern part of the Canadian 
Arctic and in Alaska (Fig.  10.17 ), where also all stations revealed statistically sig-
nifi cant trends. The lowest rate of warming (<0.2 °C/10 years) occurred in the west-
ern part of the European Arctic, in the southern part of the Baffi n Bay region, and in 
the southern Greenland. Generally very similar results for the period 1951–2005 
were reached by Przybylak ( 2007 , see his Figure 6). 

 An analysis of the spatial distribution of the trends of air temperature for particu-
lar seasons in the period 1951–2010 in the Arctic (Fig.  10.22 ) confi rmed the earlier 
assumption that the greatest warming occurred in autumn (even more than the 
0.5 °C/10 years in the eastern Arctic). On the other hand, the Atlantic side of the 

  Fig. 10.22    The spatial  distribution   of the mean seasonal trends in air temperature (°C/10 years) in 
the Arctic over the period 1951–2010. Contours over the Arctic 0cean indicate that the data are 
extrapolated from the coastal stations       
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Arctic revealed the lowest rate of warming (<0.2 °C/10 years). However, in both 
these regions, represented by PACR and ATLR, temperature trends (0.42 °C/10 
years and 0.22 °C/10 years, respectively) are statistically signifi cant (Table  10.3 ). It 
also follows from Table  10.3  and Fig.  10.22  that warming was very common in the 
Arctic in all seasons. Very small trends (generally oscillating between 0.0 °C/10 
years and 0.1 °C/10 years) were noted in all seasons, but in small areas limited 
mainly to the southern parts of BAFR and Greenland (winter and spring) and the 
Russian Arctic (summer), except Chukotka Peninsula. Over the Arctic Ocean, air 
temperature trends in winter and spring varied mainly between 0.3 °C/10 years and 
0.4 °C/10 years, while in summer between 0.1 °C/10 years and 0.2 °C/10 years. 
(Fig.  10.22 ). On average, markedly smaller warming in all seasons, out of all cli-
matic regions, was evident in BAFR, where statistically signifi cant increases of 
temperature occurred only in autumn (Table  10.3 ). In the rest of the regions statisti-
cally signifi cant increases in temperature dominated, except winter  in   ATLR and 
summer in SIBR. Areal-averaged Arctic temperatures (Arctic 2 and Arctic 3), cal-
culated using grids data for all of its area (land + ocean) and only land, respectively, 
show smaller trends than those based on stations’ data (Arctic 1). Markedly greater 
correspondence between trends can be seen with the latter data and the grids data 
taken from land only (see Table  10.3 ). All Arctic series show about twice greater 
increases in air temperature in the studied periods than in the Northern Hemisphere 
series (NH), and this is also seen in all seasons except summer. This spatial distribu-
tion of the trends of air temperature in the Northern Hemisphere is generally consis-
tent with the expected changes in air temperature connected with the increasing 
concentration of CO 2  and other trace gases. Results presented above also confi rm 
that processes leading to polar amplifi cation in recent decades are very active (for 
details see, for example, Serreze and Francis  2006 ; Serreze and Barry  2011  and 
references therein). 

 Trends in seasonal and annual air temperatures calculated for regions and the 
entire Arctic in the period 1976–2010 using datasets from 34 stations are usually 
greater (more than twice for, for example, the Arctic 1 series) than analogous trends 
noted in the period 1951–2010 (Table  10.3 ). Generally, it was only in winter in 
PACR that smaller trends were observed in 1976–2010 than in 1951–2010, while in 
summer they were the same. Even negative trends in mean air temperature occurred 
in winter and summer at two (Nome and Kotzebue) and one (Nome) stations, 
respectively, located in  this   region. Only positive air temperature trends in all sea-
sons and in annual means were found (Table  10.3 ). All analysed trends are also 
more often statistically signifi cant in recent period.  
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10.3.3      The Infl uence of Atmospheric Circulation 
on Temperature 

 It is not possible  to   investigate the reasons for recent air temperature variations 
without discussing  atmospheric   circulation changes. It is widely known that the 
importance of circulation in the formation of climate is much greater here than at 
lower latitudes (see Alekseev et al.  1991 , their Table 1). Alekseev et al. ( 1991 ) also 
found that the advection of warmth from lower latitudes by atmospheric and oce-
anic circulation provides more than half the energy annually available in the Arctic 
climate system. This makes such advection more important than solar irradiance 
fl ux. The share of advection is especially large in the cold season, when there is only 
a negligible infl ow of solar irradiation. During the polar night it is equal to 100 %. 
As mentioned in Chap.   1    , atmospheric circulation provides as much as 95 % of 
warmth advection to the Arctic, while oceanic circulation provides only 5 %. 
Vangengeim ( 1952 ,  1961 ) found that changes of synoptic processes in the Arctic are 
about 1.5 times faster than in moderate latitudes. As a consequence, it is possible to 
conclude that  the   Arctic is signifi cantly more sensitive and vulnerable to atmo-
spheric circulation changes (such as those, for example, driven by the AO and the 
NAO phenomena) than any other area. 

 Przybylak ( 1996 ,  2002a ) determined the relations between atmospheric circula-
tion and air temperature in the Arctic using daily data. He found that changes 
observed after 1975 in atmospheric circulation led to the Arctic cooling in the period 
1976–1990 (as was mentioned earlier). For example, the intensifi cation of zonal 
circulation in mid-latitudes, which is noted since 1975 (see Kożuchowski  1993 ; 
Jönson and Bärring  1994 ), accounts for Arctic cooling in all seasons except spring 
(Table  10.4 ). Cooling is signifi cant mainly in the cold half-year, but only in autumn 
is it present in all climatic regions. The greatest infl uence of atmospheric changes 
represented by the  zonal index on   temperature is noted in the Baffi n Bay and 
Canadian regions, where statistically signifi cant negative correlations in winter and 
autumn were found. On the other hand, the observed intensifi cation of zonal circula-
tion leads to the Northern Hemisphere warming in all seasons except summer. 
Statistically signifi cant correlations were computed for winter and annual values 
(Table  10.4 ).

   In the previous sub-chapters, some relations of the Arctic climate with the NAO 
were suggested. Later on, a new term has been introduced into the literature: the 
Arctic Oscillation (AO) (Thompson and Wallace  1998 ). The NAO and the AO are 
dominant patterns of atmospheric circulation variability over the North Atlantic and 
over the Northern Hemisphere poleward of 30°N, respectively (Hurrell  1995 ; 
Hurrell and van Loon  1997 ; Thompson and Wallace  1998 ,  2000 ; Houghton et al. 
 2001 ; Mysak  2001 ; Overland and Wang  2005b ; Turner et al.  2007 ). The NAO/AO 
patterns can be obtained as the leading empirical orthogonal functions of the  sea- 
level pressure (SLP)   fi elds over  the   domains mentioned above. It is widely known 
that the largest north-south air mass exchanges associated with the AO occur over 
the Atlantic Ocean. That is why the NAO is often regarded as the regional 
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 representative of the AO (Delworth and Dixon  2000 ; Mysak  2001 ). Moreover, 
Deser ( 2000 ) found that the AO time series is nearly indistinguishable from the 
leading structure of variability in the Atlantic sector (the NAO). The correlation 
coeffi cient of monthly SLP anomalies during November–April 1947–1997 is 0.95. 
According to Wang and Ikeda ( 2000 ), the main difference between the AO and the 
NAO is that the AO operates seasonwide and correlates to the surface air tempera-
ture, also seasonwide, while the NAO (index) correlates to surface air temperature 
anomalies in winter (strongest), spring, and autumn, but not in summer. The AO is 
strongly coupled with atmospheric fl uctuations at the 50-hPa level on the intrasea-
sonal, interannual, and interdecadal time scales and therefore, as Thompson and 
Wallace ( 1998 ) write, “can be interpreted as the surface signature of modulations in 
the strength of the polar vortex aloft.” 

 The above patterns  of   atmospheric circulation signifi cantly infl uence the Arctic 
climate system. Researchers have investigated the relationships between the NAO 
and the AO indices, on the one hand, and, on the other hand, factors such as surface 
air temperatures (e.g. Hurrell  1995 ; Hurrell and van Loon  1997 ; Thompson and 
Wallace  1998 ,  2000 ; Przybylak  2000 ; Rigor et al.  2000 ; Wang and Ikeda  2000 ; 
Broccoli et al.  2001 ; Slonosky and Yiou  2001 ; Overland and Wang  2005b ), atmo-
spheric precipitation (Hurrell and van Loon  1997 ; Przybylak  2002a ,  b ), and sea-ice 
area (including its extent) and sea-ice motion (Kwok and Rothrock  1999 ; Yi et al. 
 1999 ; Dickson et al.  2000 ; Hilmer and Jung  2000 ; Kwok  2000 ; Wang and Ikeda 
 2000 ; Vinje  2001 ). Here, the infl uence of these indices only on surface air tempera-
ture in the Arctic is briefl y presented mainly using the results of investigations 
obtained by Przybylak ( 2000 ) and Rigor et al. ( 2000 ). 

 Rigor et al. ( 2000 ) estimated the contribution of the AO to trends in winter (Dec–
Feb) surface air temperature over the Arctic. They found that the AO explains more 
than 50 % of the temperature trends in a large portion of the Arctic (60–70 %) – see 
Figure 14d in Rigor et al. ( 2000 ). The  relationship   between these two elements is 
especially strong in the eastern part of the Arctic, where the AO accounts for as 

     Table 10.4      Correlation   coeffi cients between areally averaged seasonal (DJF, MAM, JJA and 
S0N) and annual air temperature for regions, the Arctic, the Northern Hemisphere, and zonal index 
over the period 1951–1990 (After Przybylak  1996 )   

 AREA  DJF  MAM  JJA  SON  Annual 

 Atlantic region  0.11  0.13  −0.08  −0.01  0.10 
 Siberian region  −0.07  0.25  −0.32  −0.13  0.15 
 Pacifi c region  −0.07  0.18  −0.16  −0.06  0.21 
 Canadian region  −0.40*  −0.11  −0.08  −0.40*  −0.28 
 Baffi n Bay region  −0.48**  −0.18  −0.25  −0.55***  −0.46** 

 Arctic  −0.31  0.09  −0.14  −0.33*  −0.05 
 NH (land + ocean)  −0.43**  0.31  −0.06  −0.20  −0.39* 

  *,**,*** – Correlation coeffi cients statistically signifi cant at the levels of 0.05; 0.01 and 0.001, 
respectively; Arctic – areally averaged temperature based on data from 33-35 Arctic stations; NH 
(land + ocean) – areally averaged temperature for Northern Hemisphere (Source: Jones  1994 , 
updated)  
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much as 74 % of the warming during winter. Thompson et al. ( 2000 ) have associ-
ated ca. 30 % of the recent winter-time warming of the extratropical Northern 
Hemisphere with the multidecadal trend in the AO. Thus, this means that the infl u-
ence of the AO is greater on the climate in the Arctic than in the moderate 
latitudes. 

 Przybylak ( 2000 ) found that the relations between the NAO indices (after Hurrell 
 1995  and after Jones et al.  1997 ) computed as the normalised SLP differences 
between series taken from Lisbon/Gibraltar (Iberian Peninsula) and Stykkisholmur/
Akureyri (Iceland), respectively, and the Arctic air temperature (Figs.  10.23 ,  10.24 , 
and  10.25 ) are roughly similar to those presented earlier for the zonal index. The 
strongest statistically signifi cant relations exist with mean annual air temperatures 
in the  Baffi n   Bay and the Canadian Arctic (negative correlations) and in the south-
ern part of Atlantic regions (positive correlation) (Fig.  10.23 ). Changes in the NAO 
index here explain about 10–25 % of the air temperature variance. As was men-
tioned above, the relationships between changes in atmospheric circulation in the 
North Atlantic and temperature, not only in the Arctic, are strongest in the winter 
months (Hurrell  1995 ,  1996 ; Jones et al.  1997 ). Correlation coeffi cients computed 
for particular seasons confi rm this fi nding (Fig.  10.24 ). In winter, as for annual val-
ues, negative correlations occur in the Baffi n Bay and Canadian regions. However, 
they are signifi cantly greater and, for example, in the central part of the Baffi n Bay 
region, explain as much as 40–50 % of winter air temperature variance. Statistically 
signifi cant positive correlations are present mainly in the eastern parts of the Atlantic 
region and in the western part of the Siberian region (Fig.  10.24 ).

     Changes in winter air temperatures between 7 years with positive modes and 7 
years with negative modes of the NAO index are in very high agreement with those 
presented above (compare Fig.  10.25  with Fig.  10.24 ). Strong cooling  connected   
with the highest positive values of the NAO index occurred in the Baffi n Bay region 
(4–7 °C) and in the eastern part of the Canadian Arctic (1–5 °C). On the other hand, 
warming was observed in the southern and eastern parts of the Atlantic region 
reaching 1–4 °C. These results are in agreement with those presented by Hurrell 
( 1995 , Figure 3) and Hurrell ( 1996 , Figure 3). In light of the results presented by 
Serreze et al. ( 1997 , their Figure 6) concerning the positive minus negative NAO 
index difference fi eld of cyclone events in the cold season, the causes of warming in 
the Barents and Kara seas regions are diffi cult to explain. Serreze et al. ( 1997 ) found 
a decrease in cyclone events. Recent results published by Dickson et al. ( 1997 , 
 2000 ) may help to resolve this issue. Dickson et al. ( 1997 ) found that the “increas-
ingly anomalous southerly airfl ow that accompanies such a change over Nordic seas 
is held responsible for a progressive warming in the two streams of Atlantic water 
that enter the Arctic Ocean across the Barents Sea shelf and along the Arctic Slope 
west of Spitsbergen.” The temperatures of these two Atlantic-infl ow streams were 
between 1 and 2 °C higher than normal in the late 1980s and early 1990s. Alekseev 
( 1997 ) and Zhang et al. ( 1998 ) also presents similar results. 

 Przybylak ( 2000 ) has also used the North Pacifi c (NP) index to check for possi-
ble  Pacifi c   infl uences on Arctic air temperature. This index is calculated as the area- 
weighted mean SLP over the region 30°N to 65°N, 160°E to 140°W (Trenberth and 
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   Fig. 10.23     Spatial  distribution   of the coeffi cients of correlation between mean annual air tempera-
tures in the Arctic and the NAO ( upper map ) and NP ( lower map ) indices over the period 1951–
1995 (After Przybylak  2000 ). Statistically signifi cant correlations are hatched.  Dashed  contours 
over the Arctic Ocean indicate that the data are extrapolated from the coastal stations       
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Hurrell  1994 ). The NP index signal-strength dominates that of the NAO index only 
in some fragments of the Pacifi c region and in the south-western part of the Canadian 
region (Fig.  10.23 ). Only here are the correlation coeffi cients statistically signifi -
cant. A roughly similar situation also occurs in all seasons (Przybylak  2000 ). 
Changes in atmospheric circulation in the North Pacifi c have the greatest infl uence 
on Arctic air temperature in winter and the lowest in summer (as with the NAO 
index). 

 The infl uence of ENSO (El Niño – Southern Oscillation)    on Arctic air tempera-
ture is signifi cantly lower than that associated with circulation changes in the North 
Atlantic (NAO index) – compare Figs.  10.25  and  10.26 . During the El  Niño   phe-
nomena, decreases of winter temperature may be observed in the Kara Sea region 
(by about 2 °C), in the Baffi n Bay region, and in the eastern part of the Canadian 
Arctic (0.5–1.5 °C). On the other hand, signifi cant warming is present only in 
Alaska. In other seasons, the general patterns of air temperature differences are 
similar to that for winter but these differences are signifi cantly less. It is clear that 
the infl uence of ENSO on Arctic air temperature is indirect and occurs mainly 

   Fig. 10.24     Spatial  distribution   of the coeffi cients of correlation between mean seasonal tempera-
tures in the Arctic and the NAO index over the period 1951–1995 (After Przybylak  2000 ). 
Statistically signifi cant correlations are hatched. Other key as in Fig.  10.23        
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through changes in atmospheric circulation in the North Pacifi c and North Atlantic. 
Hurrell ( 1996 ) found a statistically signifi cant correlation ( r  = 0.51) between the NP 
index and the Southern Oscillation (SO) index (the index is calculated as the nor-
malised SLP difference between series taken from Tahiti (French Polynesia) and 
Darwin (Australia)) but no correlation between the NAO and SO indices based on 
data for the period 1935–1994. The present author has repeated Hurrell’s calcula-
tions and has found signifi cantly lower correlations between the NP and SO indices 
( r  = 0.19). Similar results ( r  = 0.23 and  r  = 0.11) have been obtained for other  periods: 
1899–1995 and 1951–1995, respectively. In the 1899–1995 period, the correlation 
coeffi cient is statistically signifi cant at the level of 0.05. However, after 1975 
 signifi cant and more consistent changes for all these indices are observed (see 
Figure 2 in Hurrell  1996 ). Computations of correlation coeffi cients between the 
analysed indices for the periods 1956–1975 and 1976–1995 confi rm this  conclusion. 
For example, correlation coeffi cients between SO and NAO indices for the winter 
(December–March) are equal to  r  = 0.00 and  r  = −0.23, respectively. It follows that 

  Fig. 10.25    Differences of  air   temperature (in °C) between the most extreme 7-year run of NAO+ 
winters (December–February 1989–1995) and NAO- winters (December–February 1963–1969) 
(After Przybylak  2000 ). The NAO+ and NAO- winters were taken after Dickson et al. ( 1997 ). 
Negative differences are hatched. Other key as in Fig.  10.23        
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in the last two decades the ENSO could to a greater degree cause the changes in 
atmospheric circulation also noted in the North Atlantic.

   Recently, a number of papers have shown evidence of the statistically signifi cant 
increase of cyclonic activity in the Arctic and sub-Arctic in the last few decades 
(Zhang et al.  2004 ; Serreze and Barrett  2008 ; Simmonds et al.  2008 ; Sepp and 
Jaagus  2011 ). It was found that this activity is strongly correlated with AO, and 
signifi cantly less with NAO. Statistically signifi cant correlations with AO have been 
found mainly for summer ( r  = 0.58–0.69), when different reanalyses data (ERA40 
and NCEP) were utilised (Simmonds et al.  2008 ). A slightly smaller correlation 
( r  = 0.55) for the central Arctic, also for summer, was calculated by Serreze and 
Barrett ( 2008 ). Cyclones entering the Arctic carry warm, moist air leading to warm-
ing of the area. Thus, as their number grows, temperatures must also rise. Sepp and 
Jaagus ( 2011 ) used NCEP/NCAR reanalysis  data   from the period 1948–2002 to 
demonstrate that the frequency of deep cyclones that entered the Arctic area as well 
as the frequency of cyclones originating within it, clearly increased, while the fre-
quency of shallow Arctic cyclones decreased. Simultaneously, a decrease of atmo-

  Fig. 10.26    Differences of  mean   winter (December–February) air temperature (in °C) between 10 
years with the strongest El Niño phenomena and 10 years with the strongest La Niña phenomena 
(After Przybylak  2000 ). Negative differences are hatched. Other key as in Fig.  10.23        
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spheric pressure in cyclones was found. Simmonds et al. ( 2008 ) also found a 
signifi cant increase in summer cyclone frequency in the Arctic in the period 1958–
2002, while in winter this rising trend was fi nished in the 1990s. Analogous statis-
tics presented for the summers of 1958–2005 for the central part of the Arctic by 
Serreze and Barrett ( 2008 ) also revealed a greater number of cyclones since the 
early 1980s. Having in mind this large change in cyclone activity in recent decades, 
and in particular the rising number of cyclones entering the Arctic from the South, 
it can be stated that the observed warming in the Arctic is, to a substantial extent, 
caused by this and other aspects of atmospheric circulation change. Serreze et al. 
( 2000 ) estimated the range of this infl uence, saying that probably about half the 
winter  warming observed in the central Arctic region was connected with increased 
cyclonic activity in this area and a northward shift in storm tracks.      
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    Chapter 11   
 Scenarios of the Arctic Future Climate       

               Both observations and model  studies   have shown that the Arctic is a region of  high   
climate sensitivity to increased concentration of greenhouse gases (see e.g. 
Houghton et al.  1990 ,  1992 ,  1996 ,  2001 ; Solomon et al.  2007 ; Stocker et al.  2013 ). 
Most older  climate   model simulations suggest that a doubling of CO 2  will cause a 
rise in global mean surface air temperature from 1.4 to 5.8 °C (Houghton et al. 
 2001 ) with a two- to three-fold amplifi cation in the Arctic. More recent IPCC 
Assessment Reports (IPCC-AR4 and IPCC-AR5) reduce this range to values from 
2.1 to 4.4 °C, and the single largest contributor to this spread being the differences 
in modelled cloud feedback. Atkinson ( 1994 ) gives the following reasons for this 
enhanced warming in the Arctic: (1) snowline-albedo feedback, (2) release of CO 2  
and CH 4  from soil carbon and methane hydrates from sea bed sediments, (3) strong 
surface inversion which gives reduced vertical mixing, (4) increased absolute 
humidity which reduces radiative cooling, (5) low atmospheric H 2 O increase which 
enhances the CO 2  effect, and (6) Arctic haze which enhances springtime warming. 
The fi rst three reasons are the most important. The fi nal three factors play lesser, 
contributory roles. More or less similar reasons for this phenomenon were given 
recently by Koenigk et al. ( 2013 ) and are discussed in more detail by Serreze and 
Francis ( 2006 ), and Serreze et al. ( 2009 ), among others. 

 How can we predict future climate change in the Arctic? Most scientists distin-
guish two main approaches which are used to estimate a climatic change associated 
with a warmer world (see e.g. Jäger and Kellogg  1983 ; Palutikof et al.  1984 ; 
Palutikof  1986 ; Wigley et al.  1986 ; Salinger and Pittock  1991 ). The fi rst approach 
uses the General Circulation Models (GCMs), also called Atmosphere–ocean 
General Circulation Models (AOGCMs), and recently, the more complex Earth 
System Models (ESMs) to construct future climate scenarios (for more details see 
Flato et al.  2013 ). The second, signifi cantly less popular approach, uses past warm 
periods as analogues of a future, warm, high carbon dioxide world. In the present 
paper the results based on these approaches are presented, although the main focus 
is on the results presented by the climatic models. Because in the last few decades 
these models have seen huge developments, and also in the study of Arctic climate 
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both present and future, it was decided to present the results for two periods: until 
the time of the IPCC-AR3 publication (2001), and from that time until the present. 

11.1       Model Simulations of the Present-Day Arctic Climate 

 One measure of  the   level of confi dence in results generated by GCMs is the degree 
to which they reproduce the current global climate. A review of the fi rst two IPCC 
reports (Houghton et al.  1990 ,  1992 ,  1996 ) and other works (e.g. Gates et al.  1996 ; 
 1999 ) shows that the largest disagreement between fi rst generation of coupled cli-
mate model simulations of present-day climate is in the Polar regions. It is worth 
adding, however, that this disagreement is still observable, although it is lower in 
simulations published at the turn of the twentieth and the twenty-fi rst centuries 
(Boer et al.  2000 ; Flato et al.  2000 ; Giorgi and Francisco  2000a ,  b ; Houghton et al. 
 2001 ; Lambert and Boer  2001 ), and particularly in those appearing in more recent 
times (Chapman and Walsh  2007 ; Flato et al.  2013 ; Koenigk et al.  2013 ). 

 Lambert and Boer ( 2001 ) also found that the intermodel scatter of the simulated 
climate variables is the largest here and over mountains. Flato et al. ( 2013 ) found 
that this bias is also high over ocean upwelling regions off the west coasts of South 
America and Africa. According to Randall et al. ( 1998 ), the large degree of dis-
agreement among the models refl ects both the weakness of our current understand-
ing of Arctic climate dynamics and the sensitivity of the Arctic climate to different 
formulations of various physical processes. 

11.1.1     State of Knowledge Before 2002 

 In  last   decade of the analysed period, a number of papers have been published in 
which researchers have concentrated on simulating the Arctic climate with the 
GCMs (see e.g. Walsh and Crane  1992 ; Cattle and Crossley  1995 ; Tao et al.  1996 ; 
Walsh et al.  1998 ; Randall et al.  1998 ; Weatherly et al.  1998 ; Zhang and Hunke 
 2001 ) and with limited-area models (Walsh et al.  1993 ; Lynch et al.  1995 ; Dethloff 
et al.  1996 ,  2001 ; Rinke et al.  1997 ,  1999a ,  b ,  2000 ; Dorn et al.  2000 ; Rinke and 
Dethloff  2000 ; Gorgen et al.  2001 ). 

 The main results presented in these papers are summarized below. Figure  11.1  
 shows   the annual mean fi elds of SLP simulated by the fi ve most widely known 
atmospheric GCMs (GFDL, GISS, NCAR, OSU, and UKMO), and the “observed” 
fi eld based on the NCAR sea level pressure analyses for 1952–1990.

   Signifi cant differences between modelled and observed fi elds may be clearly 
seen. The best simulation is given by the GFDL model. Pattern correlations com-
puted by Walsh and Crane ( 1992 ) between simulated and observed fi elds based on 
data for the zone 70–90°N entirely confi rm this conclusion. The highest correlations 
were noted for winter and spring (0.909 and 0.908, respectively) and the lowest  for    
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summer (0.568). Other models have signifi cantly lower correlations. It is worth 
 noting that even such marked baric centres as the Icelandic and Aleutian lows vary 
widely from model-to-model. An analysis conducted using the NCAR Climate 
System Model confi rms the existence of signifi cant differences between the annual 
mean fi eld of SLP simulated by the model and the “observed” fi eld obtained from 
the ECMWF (European Centre for Medium-Range Weather Forecasts) analyses 
(Weatherly et al.  1998 ). On the other hand, the NAO and the AO, which signifi -
cantly infl uence the Arctic climate in the wintertime, are simulated quite well by the 
majority of the coupled climate models (for details see e.g. Delworth  1996 ; Broccoli 
et al.  1998 ; Laurent et al.  1998 ; Saravanan  1998 ; Fyfe et al.  1999 ; Osborn et al. 
 1999 ; Shindell et al.  1999 ; Houghton et al.  2001 ). 

 Walsh and Crane ( 1992 ) also present the winter  fi elds   of surface air temperature 
simulated by four of the models and the “observed” climatology based on the data 
of Crutcher and Meserve ( 1970 ). Although all the models have temperature minima 
between −35 and −45 °C, their locations vary considerably from model-to-model. It 
is very interesting and surprising that the GFDL model, which most successfully 
simulates the Arctic sea level pressure, is the least successful at simulating the 
Arctic air temperature. The bias in this model in mean winter and autumn air tem-
perature is about 10 °C (the model is too “cold” in comparison with observations). 

  Fig. 11.1     Annual   mean sea level pressure fi elds produced by the fi ve models ( a – e ) and the obser-
vational fi eld based on the NCAR sea-level pressure analyses for 1952–1990 ( f ) (After Walsh and 
Crane  1992 ). Key:  GFDL  Geophysical Fluid Dynamics Laboratory (U.S.),  GISS  Goddard Institute 
for Space Studies (U.S.),  NCAR  National Center for Atmospheric Research (U.S.),  OSU  Oregon 
State University (U.S.),  UKMO  United Kingdom Meteorological Offi ce (U.K.)       
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The reason for this is the fact that the GFDL model incorporates a poor sea-ice 
model (Mysak, personal communication). The best results were obtained using the 
UKMO model. The average air temperature differences between model and 
observed values did not exceed 1 °C for winter, spring, and autumn. Only in sum-
mer was the model “colder” by about 2 °C. Tao et al. ( 1996 ) give the results of 
Arctic air temperature for the 10-year period 1979–1988 simulated by 19 numerical 
 models   participating in the AMIP (the Atmospheric Model Intercomparison Project)   . 
For more details of this project see, for example, Gates ( 1992 ). In winter, summer, 
and autumn, the majority of models give the areal mean air temperature in the Arctic 
Ocean lower than observations (see Fig.  11.2 ). On the other hand, in spring the 
models’ areal means show the warm bias, with the exception of four of them. Model-
to-model differences of simulated areal mean air temperature are very high (in win-
ter and spring up to about 15 °C, in autumn more than 10 °C and in summer about 
6 °C).

   Walsh et al. ( 1998 ), using 24 climate models participating in the AMIP, com-
pared model simulations of precipitation and evaporation with observational  esti-
mates   of these elements. Figure  11.3  presents the decadal (1979–1988) annual mean 
precipitation and annual mean values of precipitation minus evaporation from the 
 AMIP   models, as well as the  corresponding   observational estimates after Bryazgin 
( 1976 ), Legates and Willmott ( 1990 ), Jaeger ( 1983 ), and Vowinckel and Orvig 
( 1970 ). From Fig.  11.3a , it can be seen that almost all models simulate excessive 
precipitation. Aside from the “outlier” model of SUNYA, the wettest models are 
CCC, UIUC, MPI and NCAR, while the JMA and UGAMP models simulate the 
least precipitation. Signifi cantly poorer simulations are evident both for shorter 
periods and smaller regions. For example, the monthly precipitation simulated for 
the Arctic Ocean differs by a factor of 2 among the various AMIP models (see 
Figure 3 in Walsh et al.  1998 ). Roughly similar results were obtained for the precipi-
tation minus evaporation values (Fig.  11.3b ).

   The simulation of the total cloudiness varies tremendously from model-to-model 
(Fig.  11.4 ). During summer, for example,  the   simulated cloudiness over the Arctic 
Ocean varies from 30 to 98 %, while its value, according to observations, is equal to 
about 82–84 %. An intriguing issue is the fact that majority of the models do not 
show the summertime increase of cloudiness. Moreover, some of them simulate 
even the lower cloudiness in this season (e.g. CSI, GLA, LMD, and SUN).

   The above review reveals that the confi dence of the GCMs in simulating the 
present-day climate on a regional scale (here for Arctic climate) is as yet rather 
unsatisfactory. According to Lynch et al. ( 1995 ), the model biases can be attributed 
mainly to inadequate topographical representation due to low horizontal resolution 
and the inadequate representation of cloud and sea ice distribution. Moreover, they 
state that GCMs appear to be inadequate for Arctic climate simulation and predic-
tion. Therefore, to overcome this problem, they propose the use of limited-area 
models (so-called Regional Climate Models (RCMs)). The development of RCMs 
was initiated by Dickinson et al. ( 1989 ) who nested the NCAR regional model 
MM4 with a resolution of 60 km for the western United States in a GCM. Walsh 
et al. ( 1993 ) and Lynch et al. ( 1995 ) presented the fi rst RCM (called the Arctic 
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   Fig. 11.2      Seasonal   mean air temperatures (°C) for the Arctic Ocean domain as computed from 
observed data (OBS, after Crutcher and Meserve  1970 ) and the 19 AMIP models. Temperatures 
are shown for winter (DJF), spring (MAM), summer (JJA), and autumn (SON) (After Tao 
et al .  1996 ). Key: AMIP models: BMRC (Australia), CCC (Canada), CNRM (France), CSIRO 
(Australia), CSU (U.S.), DERF/GFDL (U.S.), ECMWF (Europe), GLA (U.S.), GSFC (U.S.), JMA 
(Japan), LMD (France), MGO (Russia), MPI (Germany), MRI (Japan), NCAR (U.S.), NMC 
(U.S.) SUNYA (U.S.) UIL (U.S.), UKMO (U.K.)       
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   Fig. 11.3      Annual   mean rates of ( a ) precipitation, P, and ( b ) precipitation minus evaporation, 
P – E, for the Arctic Ocean as evaluated from observational estimates ( bars at left ) and from AMIP 
models (After Walsh et al .  1998 ). Observational sources are:  B  = Bryazgin ( 1976 ),  L  = Legates and 
Willmott ( 1990 ),  J  = Jaeger ( 1983 ), and  O  = Vowinckel and Orvig ( 1970 ) ( hatched bar  is for 
domain excluding Barents-Norwegian Seas). Other key as in Fig.  11.2  plus COLA (U.S.), DNM 
(Russia), GFDL (U.S.), NRL (U.S.), UCLA (U.S.), UGAMP (U.K.), UIUC (U.S.)       
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Region Climate System Model (ARCSyM)) for the Western Arctic. This model is 
based on the NCAR RCM and is a signifi cant  step   in the development of a fully 
coupled regional Arctic model of the atmosphere-ice-ocean system. Furthermore, a 
team of German and Danish scientists have applied the RCM (called HIRHAM) to 
the whole Arctic (Dethloff et al.  1996 ; Rinke et al.  1997 ). 

 The above models, among others, were used to simulate monthly (January and 
July) fi elds of different meteorological elements. The results obtained are better 
than in the case of GCMs, but are still not satisfactory. For example, in winter the 
simulated air temperature in some parts of the Arctic is higher than observations by 
up to 10 °C (Western Arctic, see Lynch et al.  1995 ) and 12 °C (central Arctic, see 
Dethloff et al.  1996 ). In summer, the differences between model and observations 
are much smaller than in winter, with the largest deviations being up to 4 °C over 
the centre of the Arctic Ocean (Dethloff et al.  1996 ). Here one should add that 
Dethloff et al.’s ( 1996 ) model simulations are compared with the ECMWF analyses, 
which are based on the ECMWF model. The ECMWF model shows a systematic air 
temperature bias to  be   excessively low at the surface over sea ice during winter. 
Similar results for summer were also obtained by Lynch et al. ( 1995 ), who found a 
cold bias (i.e. the model is “colder”) of 1–2 °C in the mountainous regions and a 
warm bias of 3–5 °C over the tundra in the Western Arctic. Signifi cant differences 
in the simulated precipitation and cloud fi elds with the observation data were also 
noticed. 

 Rinke et al. ( 1997 ) found that model outputs greatly overestimate the incoming 
short-wave fl ux and signifi cant differences in the net radiation over the Arctic, espe-
cially in July (up to 100 W m −2  and ±70 W m −2 , respectively). It is worth adding, 
however, that the model experiments described in Lynch et al. ( 1995 ), Dethloff et al. 
( 1996 ), and Rinke et al. ( 1997 ) have shown the potential for realistic simulations of 
climate processes of the Arctic troposphere and lower stratosphere meteorological 
fi elds in limited-area climate models. 

 The results presented here come from the fi rst version of RCMs, which still con-
tain many shortcomings. The improvements in the  physical   parameterisation pack-
ages of radiation and in the description of sea-ice thickness and sea-ice fraction 
introduced into the new version of RCMs, signifi cantly reduce the model biases 
(Rinke et al.  1999a ,  2000 ; Rinke and Dethloff  2000 ; Dethloff et al.  2001 ). For exam-
ple, in the case of surface air temperature, the differences between HIRHAM model 
simulations and “observed” values (gridded 2 m air temperature for the Polar 
Exchange at the Sea Surface (POLES), climatology of the Legates and Willmott 
( 1990 ) or ECMWF analyses) generally do not exceed 5 °C in winter. In June these 
differences are clearly lower, although locally they also reach 5 °C (see Rinke et al. 
 2000 , their Figure 11). The worst results have been obtained by applying the 
ARCSyM model. Rinke et al. ( 2000 ), comparing the  simulated   near-surface air tem-
perature in January, found that ARCSyM temperatures are higher than the HIRHAM 
simulation, to the order of 5–15 °C. On the other hand, both models gave quite simi-
lar results for June. 

11.1 Model Simulations of the Present-Day Arctic Climate
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  Fig. 11.4    Annual cycle  of   monthly mean total cloudiness (%) over the Arctic Ocean as simulated 
by the 19 AMIP models.  Heavy lines  show the annual cycle for 75–85°N derived from observa-
tions made at drifting ice stations (Vowinckel and Orvig  1970 , p. 150) (After Tao et al.  1996 ). Key 
as in Fig.  11.2        
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 In the case of atmospheric precipitation, the situation is opposite. Both models 
better simulate precipitation for January than they do for June (see Rinke et al. 
 2000 ). Moreover, in June the differences in monthly totals between HIRHAM and 
ARCSyM simulations are much larger.  Monthly   mean surface energy balance com-
ponents (sensible heat fl ux, latent heat fl ux, and net radiation) are mostly underesti-
mated in January and June in both models (see Figures 6 and 8 in Rinke et al.  2000 ) 
in comparison with the NCEP reanalyses. The differences in the case of net radia-
tion do not exceed 30 Wm −2  in January and 40 W m −2  in June and are signifi cantly 
smaller than in previous simulations (Rinke et al.  1997 ). Sensible heat fl ux differ-
ences are smaller than 10 W m −2  in both months. A similar size of  the   differences is 
noted for latent heat fl uxes in January. On the other hand, in June the differences are 
larger, especially in case of the HIRHAM model, reaching more than 30 W m −2 . 
Taking into account fact that the NCEP reanalyses of the energy balance compo-
nents for the high latitudes are overestimated (see Gupta et al.  1997 ), the real biases 
are probably lower. 

 Thus one must conclude that the RCMs, especially their new versions, more 
reastically simulate the present-day Arctic climate than do the GCMs and hence 
they should constitute a reliable tool for climate change studies in the Arctic.  

11.1.2     State of Knowledge Since 2002 

 As already mentioned at the beginning of this Chapter, a steady increase in improve-
ments of GCMs (AOGCMs) and recently  also   ESMs has been observable (for 
details see Flato et al.  2013 ). As a result, model simulations of the present-day 
global climate are getting better and better, including the area of the Arctic. In addi-
tion, in recent years knowledge of the physical processes driving the Arctic Climate 
System has grown markedly, thanks to the initiative of the 4th International Polar 
Year (among others), which took place in 2007–2009. Both the high-quality models 
available at present, as well as the signifi cantly better and more reliable knowledge 
of today’s Arctic climate have caused a large reduction in disagreement between 
model simulations of Arctic climate compared to observed climate. The present 
state of the knowledge is reviewed here, based mainly on the results presented 
recently by Chapman and Walsh ( 2007 ), Kattsov et al. ( 2007 ), and Flato et al. 
( 2013 ). In the 2007 Chapman and Walsh paper, comparisons of present-day tem-
perature and atmospheric pressure for the Arctic based on 14 IPCC A4 GCM pro-
jections with observational data from the ECMWF 40-year reanalysis (ERA40) can 
be found. Similar analysis, but for precipitation and other Arctic freshwater budget 
components, is presented by Kattsov et al. ( 2007 ) using as many as 21 IPCC A4 
GCMs. In addition, simulated variables were compared not only with reanalysis 
data, but also with real observations. On the  other   hand, Kattsov et al. used simula-
tions from the set of the 39 latest models being part of the Coupled Model 
Intercomparison Project (CMIP5) (for details see also Taylor et al.  2012 ). Flato 
et al. ( 2013 ) investigated, amongst others, the spatial differences in temperature, 
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precipitation, and cloudiness for the entire planet between the multi-model mean 
and the observational data taken from the latest version of the ECMWF reanalysis 
of the global atmosphere and surface conditions (ERA)-Interim. 

 Simulations of seasonal mean SLP for the period 1981–2000 presented by 
Chapman and Walsh ( 2007 ) are, as the authors write, “…generally better than in the 
previous generation of GCMs.” One of the most important differences between the 
observed and modelled spatial patterns of  SLP in the   Arctic is the evidently shorter 
GCM-simulated storm track in the North Atlantic, which ends in the Barents Sea 
(instead of the Kara Sea) (Fig.  11.5 ). Another important feature between the simu-
lated and observed fi elds is the northward shift and broadening of the “Beaufort 
High.” Such changes signifi cantly infl uence the sea ice advection pattern in the 
Arctic Ocean and, as a consequence, the ice thickness and concentration distribu-
tions. Model-observed  mean   seasonal SLP differences (bias) are mainly positive, 
particularly over the Arctic Ocean, with maximum values reaching almost 6 hPa in 
the Barents and Kara seas in winter (Fig.  11.5 ), consistent with the previously- 
mentioned truncation of the North Atlantic storm track. Positive bias in the entire 
Arctic is noted only in summer, at its highest exceeding 4 hPa over the central Arctic 
and Greenland. Annual mean SLP biases are positive in the entire Arctic (except the 
Beringia region), usually varying between ±2 hPa (see Figure 7 in Chapman and 
Walsh  2007 ). A markedly highest bias of up to 4 hPa occurs in the Barents and Kara 
seas. Roughly similar spatial pattern of biases to those described above was found 
by Koenigk et al. ( 2013 , see their Figure 10b), however with slightly lower values. 
   Annual mean SLP differences between simulations made using global coupled cli-
mate models EC-Earth2.3 and data taken from ERA-Interim reanalysis generally do 
not exceed ± 2 hPa.

   Simulations of seasonal mean air temperature for the period 1981–2000 that 
were also presented by Chapman and Walsh ( 2007 ) are very similar to those 
obtained based on ERA40 (see Fig.  11.6 ). The biases generally are  small   and do 
not exceed 1–2 degrees, i.e. the model projections are too cold over much of the 
domain. Such mean values were also reported by the older generation of models 
(see Fig.  11.2 ). The largest regional biases (simulation values lower than observed) 
reaching 8–12 °C in winter and 6–8 °C in spring occur over the Barents Sea (Fig. 
 11.6 ) where the largest positive SLP bias was also noted. Arzel et al. ( 2006 ) con-
nect these extreme biases primarily with over-simulation of the extent of the mod-
els’ sea ice in the Barents Sea, when compared to observations. Model-observed 
annual mean air temperature biases are negative throughout the Arctic, except the 
southern part of Greenland (see Figure 2 in Chapman and Walsh  2007 ), rarely fall-
ing below −2 to −3 °C, with the greatest value in the Barents Sea (<−6 °C). More 
recent simulations of annual mean air temperature based on all available CMIP5 
models, and the bias, relative to an observationally constrained reanalysis (ERA)-
Interim, are presented by Flato et al. ( 2013 , see their Figure 9.2). In most areas, the 
multi-model mean agrees with the reanalysis to within 2 °C (similarly to previous 
reports in this section model’s results, CMIP5 models are also too cold in almost 
all parts of the Arctic). The greatest bias (below −5 °C) were found mainly on the 
eastern coast of Greenland, in neighbouring parts of the Greenland Sea as well as 
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  Fig. 11.5    Observed ( top row ) and simulated ( middle row ) seasonal  sea   level pressures are aver-
aged over the period 1981–2000. Model-observed differences (biases) are shown in the  bottom row  
(After Chapman and Walsh  2007 )       
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in  the   Barents Sea, while models were warmer than observations (up to 2 °C) only 
in northern continental parts of the Canadian Arctic (including the Hudson Bay 
region) and a small part of northern Greenland. Simulations made by the EC-Earth 
models generally give roughly similar results to those presented by Flato et al. 
( 2013 ) (see Figure 7b in Koenigk et al.  2013 ). One must note, however, that the 
greatest cold bias was moved from the Barents Sea (clearly seen in the simulation 
presented both by Chapman and Walsh  2007  and Flato et al.  2013 ) to the western 
part of the Greenland Sea.

   Recent model simulations of precipitation are signifi cantly better than older ones 
(compare Figs.  11.7a  and  11.3a ; see also Figure 9.4b in Flato et al.  2013 ). The 
majority are still too wet, but differences with observational data are signifi cantly 
smaller than in older models. Annual long-term (1980–1999) mean  precipitation   
averaged over the Arctic Ocean (70–90°N) using data from 21 IPCC AR4 models is 
equal to 0.79 mm/day and is only 0.5 mm/day higher than observational data esti-
mated by Bryazgin for the older period. On the other hand, they are lower in com-
parison with the ERA-40 data by 1.1 mm/day and 0.6 mm/day for the periods 
1980–1999 and 1960–1989, respectively (Kattsov et al.  2007 ). In last decade of the 
twentieth century, a signifi cant increase in precipitation was observed in the Arctic 
(see Przybylak  2002 ). When we take this into account, it could be stated that the 
model-derived estimates appear to realistically capture actual precipitation. 
Geographical distribution of the annual mean precipitation biases (mm/day) 
between mean values from the 21 models, on the one hand, and ERA40 reanalysis 
data (1960–1989), as well as Bryazgin’s observational data, on the other hand, was 
calculated by Kattsov et al. (2007, see their Figure 2 a and b). From this Figure, it 
can be clearly seen that both difference fi elds are very similar, showing a surplus of 
precipitation over almost the entire western Arctic, particularly over Alaska and the 
western Canadian Arctic as well as south-eastern Greenland, where it reaches even 
as much as 1 mm/day in some areas. On the other hand, a clear underestimation of 
precipitation is observable over the Atlantic and Siberian regions, falling below 
−1 mm/day in the Barents Sea.

    On the other hand,  clearly   different results for annual precipitation are simulat-
ing the global coupled climate model EC-Earth. Annual totals are about 10–30 % 
lower over the Arctic Ocean compared to the ERA-Interim reanalysis (see Figure 11b 
in Koenigk et al.  2013 ). However, the greatest difference (up to 30–40 mm) was 
noted in the central part of Greenland. Positive biases (10–30 %) were found only 
over Alaska, some parts of Siberia, the north-eastern Atlantic, and northern Europe. 

 Annual mean rates of precipitation minus evaporation for the Arctic, as evaluated 
from observational estimates and from IPCC A4 models, are shown in Fig.  11.7b . 
As with precipitation, this characteristic  is   also signifi cantly more reliably simu-
lated by the latest models (IPCC AR4) than the older ones (AMIP) (compare Figs. 
 11.7b  and  11.3b ). For example, the annual mean precipitation minus the evapora-
tion value over the Arctic Ocean (70–90°N) simulated by the 21 models for the 
period 1980–1999 (0.45 mm/day) is higher than the existing observationally based 
climatological estimate (0.38 mm/day) of Korzun ( 1978 ) (Fig.  11.7b ). According to 
Kattsov et al. ( 2007 ), the larger model value is probably partly the result of the 

11 Scenarios of the Arctic Future Climate



257

documented recent increases of precipitation discussed above. Similarly to 
Bryazgin’s precipitation estimates, Korzun’s estimates of precipitation minus 
 evaporation characteristics are also based on earlier observations than the period 
from which the models took their data. 

 The new, high quality model (EC-Earth) as well as a new version of the reanaly-
sis data (ERA-Interim) introduced in recent years for modelling cloud feedback, are 
still – despite some improvements – not able to correctly reconstruct the annual 
cycle of cloud fraction (see Fig.  11.8 ). In comparison with observational data 
(APP-x satellite estimates – Wang and Key  2005 ; Karlsson and Svensson  2011 ), 

  Fig. 11.7    Annual mean  precipitation (P)   and precipitation minus evaporation (P–E) over the 
Arctic Ocean (70–90°N) (1980–1999): ( a ) P in IPCC AR4 model simulations vs. an estimate based 
on observations by Bryazgin (Khrol  1996 ) and ERA-40, ( b ) P–E in IPCC AR4  model simulations 
vs. an   observationally based estimate (Korzun  1978 ), Aafter Kattsov et al.  2007 )       
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 EC-Earth and ERA-Interim have   produced only slightly higher values for summer, 
while for winter they overestimate cloud fraction by 15 % and 10 %, respectively. 
As a result, both models and reanalysis products show higher cloud fraction in the 
cold-half year than in the warm-half year, i.e. their annual cycles are opposite to 
those observed. On the other hand, Vavrus et al. ( 2012 ) reported that cloud cover 
over the Arctic in CCSM4 (Community Climate System Model, version 4) is too 
low during most months compared to observations. In winter, the negative bias 
reached as much as 30–40 %. This means that this model presents opposite results 
than both EC-Earth and ERA-Interim products. In conclusion, one can say that sig-
nifi cant errors (disagreements) still present in the model simulations of clouds con-
tribute signifi cantly to the uncertainties in estimates of cloud feedback and thus 
have a marked infl uence on future climate change projections.   

11.2     Scenarios of the Arctic Climate in the Twenty-First 
Century 

11.2.1     The GCM Method 

11.2.1.1     State of Knowledge Before 2002 

 Two types of  GCMs can be   distinguished: equilibrium and transient models. The 
fi rst group simulates changes  of   climate for CO 2  doubling occurring rapidly, while 
the second group computes the same for a gradually increasing CO 2  (most often of 
a 1 % compounded increase per year). The second approach is more realistic and 
resembles the contemporary changes of CO 2  concentrations. 

  Fig. 11.8    Cloud  amount   averaged over 70–90°N for the twentieth century simulations ( black 
lines ) in EC-Earth, ERA-Interim ( green line ), APP-X data ( red line ) (After Koenigk et al.  2013 )       
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 The fi rst equilibrium experiments conducted using atmospheric  general   circula-
tion models simulated a very large increase of temperature in the Arctic (up to 
10–16 °C in winter), especially in the northern parts of the Atlantic and Pacifi c 
Oceans (see Washington and Meehl  1984 , or Meehl and Washington  1990 ). In the 
rest of the Arctic, the projected rise  of   temperature varies between 4 and 6 °C in 
winter and about 2 °C in summer. This geographical pattern of temperature changes 
is in disagreement with recent observational changes of temperature in the Arctic 
(see e.g. Chapman and Walsh  1993 , their Figure 1, or Przybylak  1996 ,  2002 ). 

 More sophisticated high-resolution equilibrium  simulations   of the 2 × CO 2  cli-
mate, which use GCMs coupled with mixed layer oceans, give signifi cantly more 
reliable results for some parts of the world, but probably not for the Arctic (see 
Figure 5.4 in Houghton et al.  1990 ). Results from the three models presented in this 
Figure (CCC, GHHI, and UKHI) show that the warming in the Arctic is highest in 
late autumn and winter. The projected warming in winter in the case of the fi rst two 
models exceeds more than 10 °C. However, the regional and local differences 
between winter surface air temperature responses simulated for the doubled-CO 2  
climate by these models show a 10 °C range. A review of current model results (see 
Sect.  11.1 ) shows that the largest disagreement between coupled climate model 
simulations of present-day climate is still in the Polar regions. 

 Limited space prevents from providing a more detailed presentation of the 
changes of other meteorological elements simulated by  the   equilibrium GCMs for 
the 2 × CO 2  case. Generally, an increase in the cloudiness and precipitation and a 
decrease in the sea ice extent and its thinning in the Arctic are predicted. For more 
information see, for example, Washington and Meehl ( 1984 ); Schlesinger and 
Mitchell ( 1987 ); Houghton et al. ( 1990 ); Meehl and Washington ( 1990 ); Przybylak 
( 1993 ); or Kożuchowski and Przybylak ( 1995 ). The main weakness of these kinds 
of models (except for the leap rise in CO 2  concentration) is the fact that in simula-
tions they neglect the thermal inertia of the deep ocean, and therefore give an exag-
gerated response, particularly in regions of deep mixing. A comparison of transient 
and equilibrium responses of surface air temperature with the doubling of CO 2  (Fig. 
 11.9 ) using the same model (GFDL) entirely confi rms the above conclusion. From 
this fi gure, it can be seen that the  transient   response of the surface air temperature is 
particularly low over the northern North Atlantic and over the circumpolar ocean of 
the Southern Hemisphere, where the deep vertical mixing of water is the greatest 
and, as a consequence, the effective oceanic thermal inertia is very large. According 
to Manabe et al. ( 1991 ), a relatively small surface warming in the northern North 
Atlantic Ocean is caused also by the reduction in the near-surface advection of 
warm water from South (the excess of precipitation over evaporation in high lati-
tudes leads to a weakening of the thermohaline circulation). In the Arctic, the tran-
sient model experiment shows about 1.4–2.0 times lower warming than in the case 
of  the   equilibrium response (Fig.  11.9c ). According to the GFDL model results (Fig. 
 11.9a ), the annual air temperature in the Arctic should increase by 4–5 °C for the 
period of CO 2  doubling. In winter and summer (not shown), the warming should be 
equal to 5–8 °C and 0–2 °C, respectively.
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  Fig. 11.9    ( a ) The  transient   response of the surface air temperature of the coupled ocean – atmo-
sphere model to the 1 %/year increase of atmospheric carbon dioxide. The response (°C) is the 
difference between the 20-year (60th to 80th year) mean surface air temperature (1 %/year increase 
of CO 2 ) and 100-year mean temperature (CO 2  constant). ( b ) The equilibrium response of surface 
air temperature to the doubling of atmospheric carbon dioxide. (c) The ratio of the transient to 
equilibrium responses (After Manabe et al.  1991 )       
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   More recently, Cattle and Crossley ( 1995 ) published results of the simulation of 
the Arctic climate change for the doubling of CO 2  using the UKMO model. They 
found that  maximum   changes of air temperature in winter (more than 10 °C) are 
associated with the marginal ice zone in the Atlantic sector and the regions of the 
shelf seas (Fig.  11.10 ). The warming of Greenland lies between 2 and 5 °C. In sum-
mer, the change of air temperature over the Arctic is small and mainly oscillates 
between 0 and 2 °C (see Fig.  11.10 ). The introduction of a simple parameterisation 
of the effects of sulphate aerosols signifi cantly reduces the magnitude of the warm-
ing, but changes the overall pattern very little (Fig.  11.11 ). In winter, the predicted 
warming varies between 2 and 5 °C. The lowest increase of air temperature should 
occur in the Atlantic sector of the Arctic. In summer, most Arctic areas show very 
small warming that oscillates between 0 and 1 °C. The greatest warming should 
occur in Greenland and Alaska (1–4 °C). Regionally, however, even the cooling 
may occur (see Fig.  11.11 ).

    Mean annual air temperature changes in the Arctic, according to the model 
developed by Mitchell et al. ( 1995 ), vary from 4 to 6 °C. For temperature simula-
tion, the concentration of aerosols from 1795 to 2030–2050, based on the most 
probable scenario IS92a proposed by Houghton et al. ( 1992 ), was used. A third 
IPCC report (Houghton et al.  2001 ) also presents annual patterns of air temperature 
change, but for the period 2071–2100 relative to the period 1961–1990 using a 
newly introduced set of scenarios (SRES scenarios, for details see Houghton et al. 
 2001 ). For two scenarios (SRES A2 and B2), the multi-model ensemble projects the 
warming ranges from 6 to 10 °C and from 5 to 8 °C, respectively, for the greater part 
of the Arctic (see Figure 9.10d and e in Houghton et al.  2001 ). The greater warming, 
in comparison to the model of Mitchell et al. ( 1995 ), is caused by the fact that the 

   Fig. 11.10     Air temperature change (in °C) over the Arctic for the decade of doubling of carbon 
dioxide from  a   run of the Hadley Centre model with transiently increasing greenhouse gases: ( a ) 
winter (DJF) and ( b ) summer (JJA) (After Cattle and Crossley  1995 )       
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future sulphur dioxide emissions for the six SRES scenarios are much lower, com-
pared to the IS92 scenarios (see Figure 17 in Houghton et al.  2001 ). 

 Doubled-CO 2  climate simulation of the troposphere in the  Arctic   shows a warm-
ing between 1 and 1.5 °C. On the other hand, the cooling should occur throughout 
almost the whole stratosphere. In the lower stratosphere the temperature will be 
nearly the same as today. In the middle stratosphere the predicted decrease of tem-
perature oscillates between 2 and 3 °C. 

   Fig. 11.11     Seasonal change  in   surface air temperature from 1880–1889 to 2040–2049 in simula-
tions with aerosol effects included. ( a ) winter (DJF) and ( b ) summer (JJA) (After Kattenberg 
et al.  1996 )       
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 Most  transient   GCMs simulate the increase of precipitation with the doubling of 
CO 2  (see e.g. Manabe et al.  1992 ; Cattle and Crossley  1995 ; Houghton et al.  1996 , 
 2001 ). However, a careful examination of geographical patterns of precipitation 
changes shows signifi cant differences between model predictions. Here, I present 
the results published by Cattle and Crossley ( 1995 ). According to their model,  win-
ter   precipitation should increase slightly over the central Arctic basin with higher 
local increases over the surrounding land-masses (see Fig.  11.12 ). A general 
decrease of precipitation is shown over the region of the Greenland-Iceland- 
Norwegian Sea, south-eastern Greenland, Iceland, Spitsbergen and the northern 
parts of European and the Russian Arctic west of 50°E. In summer (Fig.  11.12 ), a 
tendency towards reduced precipitation should occur in most parts of the Arctic 
Ocean, over some fragments of the Greenland and Norwegian seas, over almost 
whole Barents Sea including its surrounding islands (Novaya Zemlya, Zemlya 
Frantsa-Josifa, and Spitsbergen), as well as over the central part of the Russian 
Arctic. With the inclusion of aerosol forcing, there is seen an increase in  precipitation 
in the areas of reduced precipitation in winter and more generally in summer (Cattle 
and Crossley  1995 ).

   Reviewing the literature presenting the transient experiment  results   using GCMs, 
I did not fi nd any information about cloudiness  changes   in the Arctic with the dou-
bling of CO 2 . What was the state of knowledge about other meteorological elements 
and components of Arctic climate system before 2002? Wild et al. ( 1997 ) computed 
changes in the zonal mean 10-m wind speed for the whole globe with the doubling 
of CO 2 . In the Arctic, the average wind speed in summer should be higher by about 
0.2–0.5 m s −1 . On the other hand, in winter a reduction of 10-m wind speed up to 
0.5 m s −1  around the Pole and up to 0.4 m s −1  in the latitude belt 60–75°N should be 
observable. Winter cyclone frequencies simulated for the Arctic using the CCC 
GCM (equilibrium model) correspond very well with these results (Lambert  1995 ). 
Comparison of Figs. 11.2 and 11.3 presented in his paper shows that the total num-
ber of cyclones decreases in the Arctic in a warmer world. However, one should add 
that this tendency is limited mainly to weak lows, because intense cyclones show an 
increased frequency. 

 Manabe et al. ( 1991 ) present surface heat balance components averaged for the 
“doubled” CO 2  case simulated by  the   transient GFDL GCM (Fig.  11.13 ). It can be 
seen that the net radiation is positive in the whole Arctic (ocean and continental 
parts). The sensible heat is negative everywhere in the Arctic, except the southern 
oceanic parts, while the latent heat is negative mainly in the latitude band 
60–80°N. The decreases of latent heat fl uxes are signifi cantly higher over continen-
tal parts of the Arctic (up to 2–3 W m −2 ) (Fig.  11.13b ).

   A very important component of the Arctic climate system is sea ice. The UKMO 
GCM predicts that in a warmer world (a “doubled” CO 2  case) the sea ice thickness 
should be reduced by over 1 m in both  summer   and winter, with maximum changes 
occurring in area covered by the thickest ice in the control run (Fig.  11.14 ). Similar 
results have also been found by Manabe et al. ( 1992 ) and Ramsden and Fleming 
( 1995 ) using the GFDL GCM and coupled ice-ocean Arctic ocean model forced 
using an output from the CCC model of the atmosphere, respectively. Ramsden and 
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Fleming ( 1995 ) concluded that the Arctic ice fi eld appears to act as a regulator of 
climate change, rather than as an accelerator.

   Ramsden and Fleming’s ( 1995 ) model predicts an increase in the ocean surface 
temperature with the doubling of CO 2   by   about a degree, with the largest increase 
expected in summer, refl ecting the amount of open water. Their model also foresees 
a slight decrease in surface salinity in the Arctic Ocean.  

   Fig. 11.12      Precipitation   change (mm/day) over the Arctic for the decade of doubling of carbon 
dioxide from a run of the Hadley Centre model with transiently increasing greenhouse gases: ( a ) 
winter (DJF) and ( b ) summer (JJA) (After Cattle and Crossley  1995 )       

   Fig. 11.13     The latitudinal profi le  of    zonal-mean surface heat balance components over oceans ( a ) 
and continents ( b ) between the G (1 %/year increase of CO 2  averaged over the 60th to 80th year 
period) and S (CO 2  constant) integrations (After Manabe et al.  1991 )       
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11.2.1.2     State of Knowledge Since 2002 

 In recent years, quite  a   large number of publications have appeared presenting sce-
narios for Arctic climate change in the twenty-fi rst century. For this purpose, differ-
ent kinds of GCMs, ESMs, and RCMs have been used. As can be seen from the 
short review given earlier in this chapter, the latest versions of climate models are 
signifi cantly better and more reliable in simulating the present-day Arctic climate 
than the older generations of models. Therefore, state-of-the-art knowledge about 
future Arctic climate presented here is based mainly on the following publications: 
Chapman and Walsh ( 2007 ), Kattsov et al. ( 2007 ), Rinke and Dethloff ( 2008 ), 
Vavrus et al. ( 2012 ), Collins et al. ( 2013 ), and Koenigk et al. ( 2013 ). 

 The reliability of model- simulated   Arctic climate change in the twenty-fi rst cen-
tury also greatly depends on the kinds of scenarios of future world development 
used, which are described mainly by rates of demography and economy. The IPCC 
presented the second version of greenhouse gases emission scenarios (SRES sce-
narios) in a special report published in 2000 (Nakićenović et al.  2000 ). These sce-
narios are commonly used in models developed in the period analysed until the time 
of the AR5. SRES scenarios include four sets of scenarios called “families”: A1, 
A2, B1, and B2. Altogether 40 SRES scenarios have been developed by six model-
ling teams. In the AR5, a new proposition for emission scenarios ( Representative 
Concentration Pathways (RCP)) is   presented, based not on qualitative description 
(as with the SRES scenarios), but on quantitative description. The following four 
scenarios were proposed: RCP2.6; RCP4.5; RCP6.0, and RCP8.5. Numbers used in 
the acronyms of scenarios denote radiative forcing anomalies of 2.6 Wm −2 , 4.5 
Wm −2 , 6.0 Wm −2 , and 8.5 Wm −2  to the year 2100 (for more details see Collins et al. 
 2013 ). It is commonly assumed that most probable forcing (emission) scenarios are 

  Fig. 11.14    Sea ice  thickness   change (in m) over the Arctic for the decade of doubling of carbon 
dioxide from a run of the Hadley Centre model with transiently increasing greenhouse gases: ( a ) 
winter (DJF) and ( b ) summer (JJA) (After Cattle and Crossley  1995 )       
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“middle-of-the-road” – in the case of SRES and RCP scenarios, these are A1B and 
RCP4.5, respectively. The A1B scenario projects a rise in the mean annual global 
temperature by the end of the twenty-fi rst century of almost 3 °C (the baseline 
period used to calculate the anomaly was 1980–1999), while RCP4.5 predicts 2 °C 
(1986–2005) (Collins et al.  2013 ). For the abovementioned reasons, the future cli-
mate of the Arctic is presented here based on simulations made by climate models 
mainly using these two kinds of emission scenarios.  

11.2.1.3     Air Temperature 

 The simulated mean seasonal  and   annual 2-m air temperature changes for the period 
2080–2099 compared to 1980–1999, using EC-Earth2.3 model are shown in 
Fig.  11.15 . All areas of the Arctic (except the mainly inner part of Greenland) will 
warm more than 4 °C.  Signifi cantly   greater warming is expected in the Arctic Ocean 
(>6 °C), with an absolute maximum exceeding 10 °C in the northern part of the 
Barents Sea. The temperature increase depends strongly on the season (Fig.  11.15 ) 
and is largest in winter and autumn, exceeding 6 °C almost everywhere, except for 
the Hudson Bay region and Greenland in autumn. Autumn, on average, should be 
warmer/colder than winter in the eastern/western part of the Arctic, respectively. 
However, the highest warming (>15 °C) is expected in winter in the northern part of 
the Barents Sea. A markedly lower increase of air temperature, generally below 
2 °C and even less than 1 °C in the central part of the Arctic Ocean, has been simu-
lated for summer (Fig.  11.15 ). The reason for this is the maintenance of the tem-
perature near 0 °C on surfaces covered by snow and/or sea ice until the snow and sea 
ice completely disappear as a consequence of melting. The same seasonal pattern of 
changes was found by Chapman and Walsh ( 2007 ) and Rinke and Dethloff ( 2008 ), 
who utilised the SRES A1B scenario in 14 IPCC AR4 GCMs and RCM HIRHAM, 
respectively. There is also a very good correspondence between spatial patterns of 
mean seasonal and annual temperature changes. Additionally, in summer a close 
agreement between magnitudes of temperature changes for the end of twenty-fi rst 
century can be seen to be projected by all three models, while for winter the IPCC 
AR4 models (14-GCM composite, see Figure 13 in Chapman and Walsh  2007 ) 
simulate lower increases of temperature – usually 1–2 °C with a maximum differ-
ence of about 5 °C in the Barents Sea. In comparison to older projections of tem-
perature change for the time of doubling of CO 2  (more or less the same period, as 
used in the new-generation models), important differences are noted in winter, in 
particular in the Atlantic region of the Arctic, where according to new projections 
the greatest warming is expected, while the old ones show small changes (compare 
Figs.  11.11  and  11.15 .). On the other hand, in summer the old-new model differ-
ences are small.

   Rinke and Dethloff ( 2008 )  have   also analysed year-to-year changes in air tem-
perature between periods 2080–2099 and 1980–1999 (see their Fig. 11.5b). It can  be   
clearly seen there that in a signifi cantly greater part of the Arctic, reduced variability 
is noted in winter to the maximum extent (more than 4 °C) in the Barents and Kara 
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  Fig. 11.15    Change in annual (ANNUAL)  and   seasonal (DJF, MAM, etc.) mean 2 m air tempera-
ture between 2080 and 2099 and 1980–1999 in RCP4.5. Shown are ensemble means (After 
Koenigk et al.  2013 )       
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seas. This is connected with replacement of snow/sea ice surfaces by water in the 
future. The large reduction of temperature variability (1–2 °C) in this season is also 
expected over Alaska. On the other hand, a summer increase of temperature vari-
ability should dominate in future in the Arctic, except for the central part of the 
Arctic Ocean (Rinke and Dethloff  2008 ).  

11.2.1.4     Precipitation 

 Precipitation, as it  is   commonly known, is the  most   changeable in time and space of 
all meteorological variables. For these reasons, modelling of both present day as 
well as future values of precipitation is very diffi cult and less reliable than e.g. air 
temperature. That is why, very serious differences are noted in some parts of the 
Arctic between simulations of precipitation for the end of the twenty-fi rst century 
presented by old model used by Cattle and Crossley ( 1995 ) (see also Fig.  11.12 ) and 
more recent ones projections (see Fig.  11.16  as well as Figure 9b in Kattsov et al. 
 2007  or Figure 8a in Rinke and Dethloff  2008 ). The greatest discrepancy between 
comparable old-new simulations is observable over the Barents Sea where the 
decrease/large increase of precipitation is projected by old/new models. In winter, 
in the rest of the Arctic both generations of models simulate increases of precipita-
tion; however this increase is signifi cantly greater in recent models (RCM HIRHAM, 
Rinke and Dethloff  2008 ). In summer, discrepancies between analysed model pro-
jections are spatially greater. Figure  11.12  shows a tendency towards reduced pre-
cipitation in large parts of the Arctic, while new models simulating almost all parts 
of the Arctic increase precipitation by 20–50 %. Annual totals of precipitation 
change are presented in Fig.  11.16  for the RCP4.5 scenario, and for Kattsow et al.’s 
( 2007 , their Figure 9b) SRES A1B scenario. Both simulations show a general 
increase of precipitation in the entire Arctic, except for a small area of the Nordic 
seas for the RCP4.5 scenario. Smoother changes can be seen in Kattsow et al.’s 
simulation (IPCC AR4 models), which shows a greater increase of precipitation in 
the eastern Arctic (30-40 %), with a maximum (40–50 %) between Zemlya Frantsa 
Josifa and Nowaya Zemlya, compared to 10–30 % in the western Arctic. Greater 
differences can be seen in the EC-Earth model projection (Fig.  11.16 ), which varies 
between 100 % (a precipitation increase of more than 300 mm) over the Barents 
Sea, 30–40 % (20–60 mm) over the western part of the Arctic Ocean and only 
10–20 % (20–60 mm) in the Canadian Arctic Archipelago.

   Rinke and Dethloff ( 2008 ) also – as with air temperature – used  the   RCM to 
estimate the future inter- annual   variability of precipitation (see their Fig. 8b). They 
found that contrary to temperature, this characteristic should have increased signifi -
cantly over the entire Arctic by the end of the twenty-fi rst century, in particular in 
winter. In this season, the change in variability will be clearly greatest over the 
Barents, Kara, and Chukchi seas (standard deviation is expected to increase there 
4–6 times). In summer, both small increases and decreases in inter-annual variabil-
ity of precipitation are projected, however with clear domination of the increases.  
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11.2.1.5    Atmospheric Pressure 

 Both Chapman and Walsh ( 2007 ) and Rinke and Dethloff ( 2008 ) present projec-
tions  of   future atmospheric pressure for seasons. In addition, both Chapman and 
Walsh ( 2007 ) and Koenigk et al. ( 2013 )    estimated mean changes for the year (see 
Fig.  11.17 ). All these simulations generally predict a decrease of atmospheric pres-
sure in most of the Arctic. The EC-Earth model, which uses the RCP4.5 scenario, 
generally projects a 1–3 hPa decrease of the mean annual  SLP   in the entire Arctic, 
except the inner part of Greenland and the area of the Siberian region, where small 
changes are expected (Fig.  11.17 ). Markedly, the largest SLP reduction is projected 
in the Barents Sea, and north of Greenland with up to 3 hPa. Koenigk et al. ( 2013 ) 
stated that most of the IPCC AR4-models (including those referred to here, in 
Chapman and Walsh’s  2007  results from the 14-GCM composite, see their Figure 15) 
show a similar decrease in SLP over the Arctic in the twenty-fi rst century. The 
majority also show maximum decreases in the Bering Strait and/or the Barents Sea 
regions, but in contrast to EC-Earth a large number of projects increase the SLP in 
the Siberian region. Clearly, the greatest decrease in SLP of all seasons was simu-
lated for winter, reaching 3–4 hPa over the Arctic Ocean and more than 6 hPa in the 

  Fig. 11.16    Change in annual mean precipitation (in mm/year) between 2080–2099 and 
1980–1999 in RCP4.5. Shown  are   ensemble means. The ensemble mean precipitation change is 
signifi cant at the 95 % signifi cance level in all  coloured areas  (After Koenigk et al.  2013 )       
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Beringia region (Chapman and Walsh  2007 ). Evidently smallest decreases on the 
order of 1–2 hPa are expected in summer, confi ned mainly to the maritime parts of 
the Arctic. The RCM model used by Rinke and Dethloff ( 2008 ) projects roughly 
similar SLP changes in winter and summer by the end of the twenty-fi rst century. Of 
the most important differences, one should note a shifting of the location of maxi-
mum decrease of the SLP from the Beringia region (GCM models) to an area lying 
between Svalbard, Novaya Zemlya, and Severnaya Zemlya (see Figure 4a in Rinke 
and Dethloff  2008 ). In turn, RCM projects show generally smaller decreases in 
summer (<1 hPa) of SLP, as opposed to the 14-GCM composite on the Pacifi c side 
of the Arctic, and even small increases (up to 0.5 hPa) in the Beringia region. On the 
other hand, signifi cantly larger decreases were noted in the Atlantic and Greenland 
regions (2–4 hPa). This means that the range of SLP changes in the Arctic is greater 
in case of projections made for summer by RCM than by the 14-GCM composite. 
Without doubt, this effect is caused by the averaging process. When we take into 
account the results from particular GCMs (see Figure 15 in Chapman and Walsh 
 2007 ), many of them show a range of SLP future changes the same as in case of the 
RCM. Review of these then reveals a relatively large spread of SLP-change signals 
between models.

  Fig. 11.17    Change in annual mean  SLP   in hPa between 2080–2099 and 1980–1999 in RCP4.5. 
Shown are ensemble means. The ensemble mean SLP-change is signifi cant at the 95 % signifi -
cance level in all  colored areas  (After Koenigk et al.  2013 )       
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   Interannual  SLP   variability studied by Rinke  and   Dethloff ( 2008 )  reveals   signifi -
cant increase in winter, in particular over the northern North Atlantic as well as 
Barents, Kara, and Bering seas (two-three-fold increase of the SD). In summer, both 
small increases and decreases of the year-to-year SLP variability are expected, 
partly signifi cant.  

11.2.1.6    Cloudiness 

 Future cloudiness characteristics (e.g.  fraction   and radiation forcings, both short- 
term and long-term) in  the   Arctic are more rarely investigated than other variables. 
From a number of publications used for review of the Arctic climate at the end of 
the twenty-fi rst century, some information on the change of cloudiness is available 
in works by Vavrus et al. ( 2012 ) and Koenigk et al. ( 2013 ). Vavrus et al. ( 2012 ) used 
for this purpose a new version of NCAR’s Community Climate System Model 
(CCSM4) for high greenhouse forcing scenario RCP8.5. Mean annual cloudiness 
according to this simulation should change from 0.48 (2005) to around 0.60 (a 25 % 
increase) in 2100, at more or less the same rate (see Figure 5 in Vavrus et al.  2012 ). 
The greatest increase (by 16––18 %) is expected over the Arctic Ocean, while the 
smallest (usually much less than 10 %) over land areas. In the annual cycle, a mark-
edly greater increase of cloudiness (above 17 %) should be observed from October 
to December with its maximum value (about 23 %) in November. On the other 
hand, the smallest increase (by about 8 %) should occur in February and March 
(Vavrus et al.  2012 ). Vavrus et al. ( 2009 ) also analysed cloud fraction changes for 
20 CMIP3 models for the SRES A1B emission scenario and found signifi cantly 
smaller increases of cloud fractions – from 4 to 5 % in winter to 1–2 % in summer. 
Both of Vavrus et al.’s above-mentioned publications produce clearly different esti-
mates of future cloud fractions than are presented by Koenigk et al. ( 2013 ) using the 
EC-Earth model and all new emissions scenarios (RCP) (see their Figure 12b). The 
EC-Earth model simulates small increases of cloudiness in winter and spring (maxi-
mally up to 1–3 %), slightly greater in higher than lower emissions scenarios. In 
summer, no change should occur, while in autumn (in particular in October and 
November), the greatest decrease is projected, of up to 5 % for RCP4.5 and 10 % 
for RCP8.5. As discussed above, Vavrus et al. ( 2012 ) found the greatest increase in 
the annual cycle for these 2 months. This means that our knowledge of the physical 
mechanisms responsible for the formation of clouds in the Arctic is still limited. 

 Short-wave cloud radiation  forcing   at the end of the twenty-fi rst century com-
pared to the late twentieth century should decrease in all months, with the greatest 
decreases  in   summer (by about 25–30 Wm −2  for RCP4.5) (Koenigk et al.  2013 ). On 
the other hand, long-wave cloud radiation forcing is expected to increase in most 
months, except July, August, and September. The greatest increases are projected 
for the winter months, from 5 to 10 Wm −2  for RCP4.5.  
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11.2.1.7    Sea Ice 

 The new  generation   of models project signifi cantly greater changes in sea ice char-
acteristics (thickness and concentration) from the late twentieth century to the end 
of twenty-fi rst century, than the older models do. From Fig.  11.14 , it is evident that 
the  maximum   decrease of sea ice thickness simulated by the Hadley Centre model 
in the 1990s reached about 1 m, while present models project a 2-3-times greater 
decrease (see Fig.  11.18a ). The highest reduction of sea ice thickness (by more than 
3 m) is expected in the Arctic Ocean neighbouring Greenland and the Canadian 
Arctic Archipelago. On the other hand, in this region the lowest change in mean 
annual sea ice concentration is noted (Figure  11.18b ) due to low inter-annual vari-
ability of ice concentration in the interior of the Arctic (Koenigk et al.  2013 ). The 
Barents Sea reveals the highest sea ice concentration decrease in the Arctic, in all 
seasons.

11.2.2         The Analogue Method 

 The analogue studies use  as   analogues of a high-CO 2  world warm  periods   taken 
from either paleoclimatological reconstruction of, for example, the Medieval Warm 
Epoch, the mid-Holocene, and the last interglacial (Eemian) or instrumental period. 
For the Arctic, our knowledge concerning the climates of the above periods (other 
than the instrumental) is not suffi cient. Therefore, only the second approach is 
acceptable. The major advantage of scenarios based on the instrumental records, 
according to Palutikof ( 1986 ), is that it allows the construction of very detailed 
regional and seasonal scenarios constrained only by the density of the observing 
network. Scenarios of the Arctic climate (air temperature and precipitation) using 
this method have only been constructed by Przybylak ( 1995 ,  1996 ,  2002 ). One can 
also fi nd some information about the climate change in the Arctic in a high-CO 2  
world in papers analysing greater areas (Jäger and Kellogg ( 1983 ) for the southern 
fragment of the Arctic and Palutikof ( 1986 ) for the Canadian Arctic and for the 
southern part of Greenland). The major disadvantage of this method used for the 
Arctic and for other parts of the world is the fact that a warm-cold difference in the 
instrumental record for which a dense and accurate recording network is available 
is much smaller than even the most conservative estimates of CO 2 -induced warm-
ing. Therefore, the scenarios presented below can only be treated as indicative of 
conditions in the early years of CO 2 -induced warming, i.e. for the early decades of 
the twenty-fi rst century. 

 According to scenarios presented by Przybylak ( 1995 ,  1996 ,  2002 ) in a warmer 
world, the greater part of the Arctic also shows warming. The pattern of this warm-
ing is very similar in winter,    spring, and for the year as a whole. The largest increases 
of air temperature occur in the eastern part of the Arctic, especially over the Barents 
and Kara seas. The autumn air temperature exhibits the most peculiar behaviour. In 
this season less than half of the Arctic shows the warming. The cooling should 
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   Fig. 11.18     Change in annual mean  sea ice   thickness ( a ) and sea ice concentration ( b ) between 
2080–2099 and 1980–1999 in RCP4.5 scenario       
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occur mostly in its western part (Greenland, Canadian Arctic and Alaska) and the 
Chukhotsk Peninsula, with the largest decreases over Alaska. Areally the greatest 
warming occurs in summer. Decreases of air temperature are found only over south 
and west coasts of Greenland, over Baffi n Sea, and some small parts of the Russian 
Arctic. Winter shows the greatest extreme increases (or decreases) of air tempera-
ture in a warmer world (in both cases more than 1 °C) while summer displays the 
smallest (mostly below 0.3 °C). But the largest mean seasonal warming in the Arctic 
(calculated from 27 stations) is found in spring (0.31 °C), with a much lower mean 
in winter (0.17 °C), and the lowest mean in autumn (0.01 °C). A comparison of the 
mean seasonal and annual warming of the Arctic with the hemispheric warming 
gives very interesting results. The intensity of the Arctic warming is more than 
twice as great as for the Northern Hemisphere in spring and summer, while it is only 
a little greater in winter, and is much smaller in autumn. The mean annual warming 
of the Arctic is 1.6 times greater. 

 The patterns of precipitation in the warmer world are more complex than those 
for air temperature (see Figure 1 in Przybylak  1995 ). This is connected with the 
 greater   spatial variability of precipitation. In all seasons except spring, the mean 
precipitation in the Arctic (computed from 27 stations) is lower in a warmer world. 
The increase occurs only in spring, which, as we remember, shows the most distinct 
warming. On the other hand, the largest decreases of the mean Arctic totals of pre-
cipitation are found in autumn, which is characterised by the lack of warming. 
However, the greater part of the Arctic shows a decrease of precipitation under 
warm-world conditions in winter, though these decreases are smaller than in autumn. 
In all seasons more than half of the Arctic shows decreases in precipitation. The 
winter precipitation is expected to increase only over the greater part of the Atlantic 
region of the Arctic and the Canadian Arctic. In spring the pattern is very similar; 
the main difference is the reduced area of precipitation increases. In summer, the 
increases and decreases of precipitation contain equal areas. The largest area of the 
precipitation increase includes Alaska, the Canadian Arctic, the eastern coast of 
Greenland, and the Greenland Sea. In autumn, in a warmer world there is a domina-
tion of the precipitation decrease, with the largest values over south-western 
Greenland and the Chukhotsk Peninsula (up to 40–50 mm). An increase is expected 
only over the Barents Sea and the adjoining islands. The annual precipitation shows 
a decrease over two areas: the largest one includes central and Russian Arctic and 
the smaller one is the southern part of Greenland with adjoining seas. 

 In conclusion, as pointed out by Przybylak ( 1995 ,  1996 ,  2002 ), a small warming 
and a decrease of precipitation connected with a rise in CO 2  in the fi rst period  of   
global warming is expected in the Arctic. He found also that there is no direct rela-
tion between the behaviour of air temperature and precipitation. Increases and 
decreases of precipitation in the Arctic are expected to occur in the regions which 
show both warming and cooling. 

 This review reveals that both Arctic climatologists and climate modellers still 
have extensive work to do. On the one hand, our knowledge concerning the clima-
tology of the majority of the meteorological elements in the Arctic, as well as some 
components of the Arctic climate system, is not suffi cient to  reliably   check the 
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validity of the numerical models. On the other hand, the existing climate models 
(both RCMs and especially GCMs) describe many Arctic processes inaccurately 
(e.g. cloud-radiative interactions, local surface-atmosphere interactions, sea ice dis-
tribution, stratiform clouds, and Arctic haze). As a consequence, the largest dis-
agreement between climate model simulations of the present-day climate is in Polar 
regions. This also means that the reliability of the predictions of the Arctic climate 
in twenty-fi rst century using these models (at present mainly GCMs) is still not 
satisfactory. The biases are especially high on regional and local scales. On the 
other hand, it was shown that both kinds of models are capable of correctly simulat-
ing the large-scale climate patterns. As follows from Sect.  11.1 , the more recent 
versions of the RCMs provide better and more reliable climate simulations than the 
GCMs. Until recently, the RCM simulations have been mostly aimed at evaluating 
models and processes rather than producing projections of future climate. Nowadays, 
however, this tendency is changing and they are used more and more frequently for 
future climate simulations, as well. According to the latest GCMs and RCM results, 
the air temperature increase in the Arctic connected with the doubling of CO 2  varies 
between 5 °C and 10 °C in winter and 0 °C and 2 °C in summer. Both types of cli-
mate models also simulate an increase of precipitation in the Arctic with the dou-
bling of CO 2 . The winter precipitation increase should be higher and more general 
than in summer. The inclusion of aerosol forcing additionally enlarges precipitation. 
According to the analogue method, at the beginning of the twenty-fi rst century a 
small warming and a decrease of precipitation in the Arctic should occur. This 
means that the greatest difference between model and analogue scenarios becomes 
apparent in the case of precipitation in the Arctic.      
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