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Preface

Stable isotope investigations in the earth sciences continue to grow, maybe faster
than ever before. After publication of the 5th edition, tremendous progress has been
achieved in many subfields of stable isotope geochemistry. To name a few:

— Applications of Multicollector - ICP-MS has grown rapidly and now enable in-
vestigations on natural isotope variations of a wide range of transition and heavy
elements that could not previously be measured with adequate precision.

— Precise ion probe measurements on the micrometer scale allow the detection of
the growth and dissolution history of minerals.

— Evidence for mass-independent fractionation in a variety of compounds and ele-
ments has increased considerably.

— High precision analysis of the multiple rare isotopes of a specific element permit
the distinction of different mass-dependent fractionation mechanisms.

— Precise measurements of molecules containing more than one rare isotope in-
dicate non-random distributions of the rare isotopes, which potentially may be
utilized as one-mineral thermometers.

These recent advances made a further revision necessary. Again I have tried to
provide a contemporary overview of the entire field of stable isotope geochemistry
enabling a quick access to the most recent literature, although many references date
back to the 1960 and 1970s when seminal papers were published. I am fully aware
of omissions and shortcomings, but I hope the new edition gives a well balanced
discussion of the whole field including the new isotope systems introduced mainly
by MC-ICP-MS techniques.

My colleagues Michael Bottcher, Max Coleman, Alan Matthews and Harald
Strauf} have reviewed an early draft, which is gratefully acknowledged. Yongsheng
He was of great help during the preparation of some figures. I take, however, full
responsibility for any shortcomings that remain.
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Chapter 1
Theoretical and Experimental Principles

1.1 General Characteristics of Isotopes

Isotopes are atoms whose nuclei contain the same number of protons but a differ-
ent number of neutrons. The term isofopes is derived from Greek (meaning equal
places) and indicates that isotopes occupy the same position in the periodic table.

It is convenient to denote isotopes in the form J'E, where the superscript m de-
notes the mass number (i.e., sum of the number of protons and neutrons in the
nucleus) and the subscript # denotes the atomic number of an element, E. For ex-
ample, '2C is the isotope of carbon which has six protons and six neutrons in its
nucleus. The atomic weight of each naturally occurring element is the average of
the weights contributed by its various isotopes.

Isotopes can be divided into two fundamental kinds, stable and unstable (radioac-
tive) species. The number of stable isotopes is about 300; whilst over 1,200 unstable
ones have been discovered so far. The term stable is relative, depending on the de-
tection limits of radioactive decay times. In the range of atomic numbers from 1 (H)
to 83 (Bi), stable nuclides of all masses except 5 and 8 are known. Only 21 elements
are pure elements, in the sense that they have only one stable isotope. All other
elements are mixtures of at least two isotopes. The relative abundance of different
isotopes of an element may vary substantially. In copper, for example, ®3*Cu accounts
for 69% and %Cu for 31% of all copper nuclei. For the light elements, however, one
isotope is predominant, the others being present only in trace amounts.

The stability of nuclides is characterized by several important rules, two of which
are briefly discussed here. The first is the so-called symmetry rule, which states that
in a stable nuclide with low atomic number, the number of protons is approximately
equal to the number of neutrons, or the neutron-to-proton ratio, N/Z, is approxi-
mately equal to unity. In stable nuclei with more than 20 protons or neutrons, the
N/Z ratio is always greater than unity, with a maximum value of about 1.5 for the
heaviest stable nuclei. The electrostatic Coulomb repulsion of the positively charged
protons grows rapidly with increasing Z. To maintain the stability in the nuclei, more

J. Hoefs, Stable Isotope Geochemistry, 1
© Springer-Verlag Berlin Heidelberg 2009
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Fig. 1.1 Plot of number of protons (Z) and number of neutrons (N) in stable (filled circles) and
unstable (open circles) nuclides

neutrons (which are electrically neutral) than protons are incorporated into the nu-
cleus (see Fig. 1.1).

The second rule is the so-called Oddo—Harkins rule, which states that nuclides
of even atomic numbers are more abundant than those with odd numbers. As shown
in Table 1.1, the most common of the four possible combinations is even—even and
the least common is odd—odd.

The same relationship is demonstrated in Fig. 1.2, which shows that there are
more stable isotopes with even, than with odd, proton numbers.

Radioactive isotopes can be classified as being either artificial or natural. Only
the latter are of interest in geology, because they are the basis for radiometric dating
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Table 1.1 Types of atomic nuclei and their frequency of occurrence

Z-N combination ~ Number of stable nuclides

Even—even 160
Even—odd 56
Odd-even 50 50
Odd-odd 5
Z = even Z = odd

Number of protons Z

| I |
0123 45¢6 78 910 0 1

N
w

Number of isotopes

Fig. 1.2 Number of stable isotopes of elements with even and odd number of protons (radioactive
isotopes with half-lives greater than 10° years are included)

methods. Radioactive decay processes are spontaneous nuclear reactions and may
be characterized by the radiation emitted, i.e., o.-, -, and/or y-emission. Decay pro-
cesses may also involve electron capture.

Radioactive decay is one process that produces variations in isotope abundance.
The second cause for differences in isotope abundance is isotope fractionation,
caused by small chemical and physical differences between the isotopes of an ele-
ment. It is exclusively this important process that will be discussed in the following
chapters.
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1.2 Isotope Effects

Differences in chemical and physical properties arising from variations in atomic
mass of an element are called isotope effects. It is well known that the electronic
structure of an element essentially determines its chemical behaviour, whereas the
nucleus is more or less responsible for its physical properties. Since, all isotopes of a
given element contain the same number and arrangement of electrons, a far-reaching
similarity in chemical behaviour is the logical consequence. But this similarity is not
unlimited; certain differences exist in physicochemical properties due to mass dif-
ferences. The replacement of any atom in a molecule by one of its isotopes produces
a very small change in chemical behaviour. The addition of one neutron can, for in-
stance, considerably depress the rate of chemical reaction. Furthermore, it leads, for
example, to a shift of the lines in the Raman- and IR-spectra. Such mass differences
are most pronounced among the lightest elements. For example, some differences
in physicochemical properties of H,'°0, D,'90, H,'80 are listed in Table 1.2. To
summarize, the properties of molecules differing only in isotopic substitution are
qualitatively the same, but quantitatively different.

Differences in the chemical properties of the isotopes of H, C, N, O, S, and
other elements have been calculated by the methods of statistical mechanics and
also determined experimentally. These differences in the chemical properties can
lead to considerable separation of the isotopes during chemical reactions.

The theory of isotope effects and a related isotope fractionation mechanism
will be discussed very briefly. For a more detailed introduction to the theoreti-
cal background, see Bigeleisen and Mayer (1947), Urey (1947), Melander (1960),
Bigeleisen (1965), Richet et al. (1977), O’Neil (1986), Criss (1999), Chacko et al.
(2001), Schauble (2004), and others.

Differences in the physicochemical properties of isotopes arise as a result of
quantum mechanical effects. Figure 1.3 shows schematically the energy of a di-
atomic molecule, as a function of the distance between the two atoms. According
to the quantum theory, the energy of a molecule is restricted to certain discrete en-
ergy levels. The lowest level is not at the minimum of the energy curve, but above
it by an amount 1/2hv where £ is Planck’s constant and v is the frequency with

Table 1.2 Characteristic physical properties of H,'°0, D,'°0, and H,'80

Property H,'%0 D,'%0 H,'80
Density (20°C, in g cm ™) 0.997 1.1051 1.1106
Temperature of greatest density (°C) 3.98 11.24 4.30
Melting point (760 Torr, in °C) 0.00 3.81 0.28
Boiling point (760 Torr, in °C) 100.00 101.42 100.14

Vapour pressure (at 100°C, in Torr) 760.00 721.60
Viscosity (at 20°C, in centipoise) 1.002 1.247 1.056
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Fig. 1.3 Schematic potential 4

energy curve for the interac- Isotope effect
tion of two atoms in a stable associated with
molecule or between two zero-point energy

molecules in a liquid or solid
(after Bigeleisen 1965)

Potential energy

Interatomic distance

which the atoms in the molecule vibrate with respect to one another. Thus, even
in the ground state at a temperature of absolute zero, the vibrating molecule would
possess certain zero-point energy above the minimum of the potential energy curve
of the molecule. It vibrates with its fundamental frequency, which depends on the
mass of the isotopes. In this context, it is important to note that vibrational mo-
tions dominate chemical isotope effects; rotational and translational motions either
have no effect on isotope separations or are subordinate. Therefore, molecules of
the same chemical formula that have different isotopic species will have different
zero-point energies: the molecule of the heavy isotope will have a lower zero-point
energy than the molecule of the light isotope, as it has a lower vibrational frequency.
This is shown schematically in Fig. 1.3, where the upper horizontal line (EL) rep-
resents the dissociation energy of the light molecule and the lower line (Ey), that
of the heavy one. Ey is actually not a line, but an energy interval between the zero-
point energy level and the continuous level. This means that the bonds formed by
the light isotope are weaker than bonds involving the heavy isotope. Thus, during a
chemical reaction, molecules bearing the light isotope will, in general, react slightly
more readily than those with the heavy isotope.

1.3 Isotope Fractionation Processes

The partitioning of isotopes between two substances or two phases of the same sub-
stance with different isotope ratios is called isotope fractionation. The main phe-
nomena producing isotope fractionations are

1. Isotope exchange reactions (equilibrium isotope distribution)
2. Kinetic processes that depend primarily on differences in reaction rates of iso-
topic molecules
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1.3.1 Isotope Exchange

Isotope exchange includes processes with very different physicochemical mecha-
nisms. Here, the term isotope exchange is used for all situations, in which there
is no net reaction, but in which the isotope distribution changes between different
chemical substances, between different phases, or between individual molecules.
Isotope exchange reactions are a special case of general chemical equilibrium
and can be written
aA|+bB; =aA; +bBj, (1.1)

where the subscripts indicate that species A and B contain either the light or
heavy isotope 1 or 2, respectively. For this reaction, the equilibrium constant is

expressed by
(A2 ) a
K =4 (1.2)

where the terms in parentheses may be, for example, the molar ratios of any species.
Using the methods of statistical mechanics, the isotopic equilibrium constant may
be expressed in terms of the partition functions Q of the various species

)

k=L 1.3

( o ) (1.3)
OBi

Thus, the equilibrium constant then is simply the quotient of two partition function

ratios, one for the two isotopic species of A, the other for B.
The partition function is defined by

0 =Y, (giexp(—Ei/kT)), (1.4)

where the summation is over all the allowed energy levels, E;, of the molecules and
g; is the degeneracy or statistical weight of the ith level [of E;], k is the Boltzmann
constant and T is the temperature. Urey (1947) has shown that for the purpose of
calculating partition function ratios of isotopic molecules, it is very convenient to
introduce, for any chemical species, the ratio of its partition function to that of the
corresponding isolated atom, which is called the reduced partition function. This
reduced partition function ratio can be manipulated exactly in the same way as the
normal partition function ratio. The partition function of a molecule can be separated
into factors corresponding to each type of energy: translation, rotation, and vibration

02/01 = (Q2/ Q1) gans (Q2/ Q1) 0 (Q2/ Q1) iy - (1.5)

The difference of the translation and rotation energy is more or less the same among
the compounds appearing at the left- and right-hand side of the exchange reaction
equation, except for hydrogen, where rotation must be taken into account. This



1.3 Isotope Fractionation Processes 7

leaves differences in vibrational energy as the predominant source of isotope ef-
fects. The term, vibrational energy can be separated into two components. The first
is related to the zero-point energy difference and accounts for most of the varia-
tion with temperature. The second term represents the contributions of all the other
bound states and is not very different from unity. The complications which may
occur relative to this simple model are mainly that the oscillator is not perfectly
harmonic, so an inharmonic correction has to be added.

For geologic purposes, the dependence of the equilibrium constant K on temper-
ature is the most important property (4). In principle, isotope fractionation factors
for isotope exchange reactions are also slightly pressure-dependent because isotopic
substitution makes a minute change in the molar volume of solids and liquids. Ex-
perimental studies up to 20 kbar by Clayton et al. (1975) have shown that the pres-
sure dependence for oxygen is, however, less than the limit of analytical detection.
Thus, as far as it is known today, the pressure dependence seems with the exception
of hydrogen to be of no importance for crustal and upper mantle environments (but
see Polyakov and Kharlashina 1994).

Isotope fractionations tend to become zero at very high temperatures. However,
they do not decrease to zero monotonically with increasing temperatures. At higher
temperatures, fractionations may change sign (called crossover) and may increase in
magnitude, but they must approach zero at very high temperatures. Such crossover
phenomena are due to the complex manner by which thermal excitation of the vi-
bration of atoms contributes to an isotope effect (Stern et al. 1968).

For ideal gas reactions, there are two temperature regions where the behaviour
of the equilibrium constant is simple: at low temperatures (generally much be-
low room temperature), the natural logarithm of K (In K) follows ~1/T where
T is the absolute temperature and at high temperatures, the approximation becomes
InK ~ 1/T2.

The temperature ranges in which these simple behaviours are approximated de-
pend on the vibrational frequencies of the molecules involved in the reaction. For the
calculation of a partition function ratio for a pair of isotopic molecules, the vibra-
tional frequencies of each molecule must be known. When solid materials are con-
sidered, the evaluation of partition function ratios becomes even more complicated,
because it is necessary to consider not only the independent internal vibrations of
each molecule, but also the lattice vibrations.

1.3.1.1 Fractionation Factor (o)

For isotope exchange reactions in geochemistry, the equilibrium constant K is often
replaced by the fractionation factor @&. The fractionation factor is defined as the ratio
of the numbers of any two isotopes in one chemical compound A divided by the
corresponding ratio for another chemical compound B:

R

A
_g= —. 1.6
oA_B Ro (1.6)
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If the isotopes are randomly distributed over all possible positions in the compounds
A and B, then a is related to the equilibrium constant K by

a=K!'/" (1.7)

where 7 is the number of atoms exchanged. For simplicity, isotope exchange reac-
tions are written such that only one atom is exchanged. In these cases, the equilib-
rium constant is identical to the fractionation factor. For example, the fractionation
factor for the exchange of 30 and '°0 between water and CaCOj3 is expressed as
follows:

1 1
H2180+§CaC1603 = Hy'°0 + gCac1803 (1.8)

with the fractionation factor ®CaCO3;—H,O defined as:

()
1°0 ) caco;
180
160 /1,0
It has become common practice in recent years to replace the fractionation factor o
by the e-value (or separation factor), which is defined as

aCaCO; — HyO = = 1.031at25°C. (1.9a)

e=a—1. (1.9b)

because € x 1,000 approximates the fractionation in parts per thousand, similar to
the o value (see below).

1.3.1.2 The Delta Value ()

In isotope geochemistry, it is a common practice to express isotopic composition in
terms of delta-(3) values. For two compounds, A and B, whose isotopic composi-
tions have been measured in the laboratory by conventional mass spectrometry:

S = <RA - 1) 10° (%) (1.10)
Rst
and
5 — <RB_1) 10° (%), (L11)
Rst

where Raand Rp are the respective isotope ratio measurements for the two com-
pounds and Rg; is the defined isotope ratio of a standard sample.

For the two compounds A and B, the §-values and fractionation factor o are
related by:

6A—5B :AAfB ~ 1031naA7B. (112)
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Table 1.3 Comparison between 8, o, and 103 Inos_p

SA SB AA-B OA—B 103 Inoa_g
1.00 0 1.00 1.001 1.00
5.00 0 5.00 1.005 4.99
10.00 0 10.00 1.01 9.95
15.00 0 15.00 1.015 14.98
20.00 0 20.00 1.02 19.80
10.00 5.00 5.00 1.00498 4.96
20.00 15.00 5.00 1.00493 491
30.00 15.00 15.00 1.01478 14.67
30.00 20.00 10.00 1.00980 9.76
30.00 10.00 20.00 1.01980 19.61

Table 1.3 illustrates the closeness of the approximation. Considering experi-
mental uncertainties in isotope ratio determinations (typically > 0.1%,), these
approximations are excellent for differences in §-values less than about 10 and for
d-values that are relatively small in magnitude.

1.3.1.3 Evaporation—-Condensation Processes

Of special interest in stable isotope geochemistry are evaporation—condensation pro-
cesses, because differences in the vapour pressures of isotopic compounds lead to
significant isotope fractionations. For example, from the vapour pressure data for
water given in Table 1.2, it is evident that the lighter molecular species are prefer-
entially enriched in the vapour phase, the extent depending upon the temperature.
Such an isotopic separation process can be treated theoretically in terms of frac-
tional distillation or condensation under equilibrium conditions as is expressed by
the Rayleigh (1896) equation. For a condensation process, this equation is
R—V:f‘H, (1.13)
Ry,
where Ry, is the isotope ratio of the initial bulk composition and Ry is the instanta-
neous ratio of the remaining vapour (v); f is the fraction of the residual vapour, and
the fractionation factor o is given by Rj/Ry (I = liquid). Similarly, the instanta-
neous isotope ratio of the condensate (R;) leaving the vapour is given by

— —qf*! (1.14)

and the average isotope ratio of the separated and accumulated condensate (R;) at
any time of condensation is expressed by

ik S A (1.15)
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For a distillation process, the instantaneous isotope ratios of the remaining liquid
and the vapour leaving the liquid are given by

7“1 = f(é*l) 1.16

Ry, (1.16)
and _ {

. =—f . (1.17)

The average isotope ratio of the separated and accumulated vapour is expressed by

R, 1—fl« . . .

— = ————(f = fraction of residual liquid) (1.18)

Ry, 1-f
Any isotope fractionation occurring in such a way that the products are isolated from
the reactants immediately after formation will show a characteristic trend in isotopic
composition. As condensation or distillation proceeds, the residual vapour or liquid
will become progressively depleted or enriched with respect to the heavy isotope.
A natural example is the fractionation between oxygen isotopes in the water vapour
of a cloud and the raindrops released from the cloud. The resulting decrease of the
180/ 190 ratio in the residual vapour and the instantaneous isotopic composition of
the raindrops released from the cloud are shown in Fig. 1.4 as a function of the
fraction of vapour remaining in the cloud.

Fraction of remaining vapor
01 .0 0.75 0.50 0.25 0
T T T

Condensate

-20

-25

-30 1 1 1 1
20 15 10 0 -20

Cloud temperature [°C]

Fig. 1.4 §'0 in a cloud vapour and condensate plotted as a function of a fraction of remain-
ing vapour in a cloud for a Rayleigh process. The temperature of the cloud is shown on the
lower axis. The increase in fractionation with decreasing temperature is taken into account (af-
ter Dansgaard 1964)
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1.3.2 Kinetic Effects

The second main phenomena producing fractionations are kinetic isotope effects,
which are associated with incomplete and unidirectional processes like evaporation,
dissociation reactions, biologically mediated reactions, and diffusion. The latter
process is of special significance for geological purposes, which warrants separate
treatment (Sect. 1.3.3). A kinetic isotope effect also occurs, when the rate of a chem-
ical reaction is sensitive to atomic mass at a particular position in one of the reacting
species.

The theory of kinetic isotope fractionations has been discussed by Bigeleisen and
Wolfsberg (1958), Melander (1960), and Melander and Saunders (1980). Knowledge
of kinetic isotope effects is very important, because it can provide information about
details of reaction pathways.

Quantitatively, many observed deviations from simple equilibrium processes can
be interpreted as consequences of the various isotopic components having differ-
ent rates of reaction. Isotope measurements taken during unidirectional chemical
reactions always show a preferential enrichment of the lighter isotope in the reac-
tion products. The isotope fractionation introduced during the course of an unidi-
rectional reaction may be considered in terms of the ratio of rate constants for the
isotopic substances. Thus, for two competing isotopic reactions

ki — ko, (1.19a)

A] —>Bl,andA2—>Bz, (119b)

the ratio of rate constants for the reaction of light and heavy isotope species k; /k, as
in the case of equilibrium constants, is expressed in terms of two partition function
ratios, one for the two reactant isotopic species, and one for the two isotopic species
of the activated complex or transition state, AX:

*

ki _ | CQay [Cup v
ky Q?Al) QE‘A)O V2

(1.20)

The factor v /v in the expression is a mass term ratio for the two isotopic species.
The determination of the ratio of rate constants is, therefore, principally the same
as the determination of an equilibrium constant, although the calculations are not so
precise because of the need for detailed knowledge of the transition state. The term
transition state refers to the molecular configuration that is most difficult to attain
along the path between the reactants and the products. This theory follows the con-
cept that a chemical reaction proceeds from some initial state to a final configuration
by a continuous change, and that there is some critical intermediate configuration
called the activated species or transition state. There are a small number of acti-
vated molecules in equilibrium with the reacting species and the rate of reaction is
controlled by the rate of decomposition of these activated species.
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1.3.3 Mass Dependent and Mass Independent Isotope Effects

1.3.3.1 Mass Dependent Effects

At thermodynamic equilibrium, isotope distributions are strictly governed by rela-
tive mass differences among different isotopes of an element. Mass dependent re-
lationships hold for many kinetic processes as well. Thus, it has been a common
belief that for most natural reactions, isotope effects arise solely because of isotopic
mass differences. This means that for an element with more than two isotopes, such
as oxygen or sulfur, the enrichment of 30 relative to '°0O or 3*S relative to 32S is
expected to be approximately twice as large as the enrichment of 7O relative to
160 or as the enrichment of 33 relative to 3S. Therefore, for many years, interest
in measuring more than one isotope ratio of a specific element was limited. Re-
cent improvements of multiple-stable isotope analysis have demonstrated, however,
that different mass dependent processes (e.g., diffusion, metabolism, high temper-
ature equilibrium processes) can deviate by a few per cent and follow slightly dif-
ferent mass dependent fractionation laws (Young et al. 2002; Miller 2002; Farquhar
et al. 2003). These very small differences are measurable and have been documented
for oxygen (Luz et al. 1999), magnesium (Young et al. 2002), and sulfur (Farquhar
et al. 2003).

It is a common practice to describe mass dependent isotope fractionation pro-
cesses by a single linear curve on a three-isotope-plot (Matsuhisa et al. 1978). The
resulting straight lines are referred to as terrestrial mass fractionation lines and devi-
ations from it are used as indicating nonmass-dependent isotope effects. The three-
isotope-plot is based on the approximation of a power law function to linear format.
To describe how far a sample plots off the mass-dependent fractionation line, a new
term has been introduced: A70, A25Mg, A33S, etc. Several definitions of A have
been introduced in the literature, which have been discussed by Assonov and Bren-
ninkmeijer (2005). The simplest definition is given by:

A"0=5"0-216"0
APMg = §PMg — 1 8*Mg
ABS = 585 - 15%s,

where A is the main parameter that characterizes the mass dependent fractionation.
The value of the coefficient A depends on molecular mass, which for oxygen may
range from 0.53 for atomic oxygen to 0.500 for species with high molecular weight.
Recent progress in high precision measurement of isotope ratios allows to distin-
guish A-values in the third decimal, which has obscured the difference between
mass dependent and mass-independent fractionations at small A-values (Farquhar
and Wing 2003).
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1.3.3.2 Mass-Independent Effects

A few processes in nature do not follow the above mass-dependent fractiona-
tions. Deviations from mass-dependent fractionations were first observed in mete-
orites (Clayton et al. 1973) and in ozone (Thiemens and Heidenreich 1983). These
mass-independent fractionations (MIF) describe relationships that violate the mass-
dependent rules 8'70 ~ 0.58'30 or §**S ~ 0.586**S and produce isotopic composi-
tions with nonzero A70 and A33S.

A number of experimental and theoretical studies have focused on the causes of
mass-independent fractionation effects, but as summarized by Thiemens (1999), the
mechanism for mass-independent fractionations remains uncertain. The best studied
reaction is the formation of ozone in the stratosphere. Mauersberger et al. (1999)
demonstrated experimentally that it is not the symmetry of a molecule that deter-
mines the magnitude of !”O enrichment, but it is the difference in the geometry of
the molecule. Gao and Marcus (2001) presented an advanced model, which has led
to a better understanding of nonmass-dependent isotope effects.

Mass-independent isotopic fractionations are widespread in the earth’s atmo-
sphere and have been observed in O3z, CO,, N>O, and CO, which are all linked to
reactions involving stratospheric ozone (Thiemens 1999). For oxygen, this is a char-
acteristic marker in the atmosphere (see Sect. 3.9). These processes probably also
play arole in the atmosphere of Mars and in the pre-solar nebula (Thiemens 1999).
Oxygen isotope measurements in meteorites demonstrate that the effect is of sig-
nificant importance in the formation of the solar system (Clayton et al. 1973a)
(Sect. 3.1).

There are numerous terrestrial solid reservoirs, where mass-independent isotope
variations have been observed. Farquhar et al. (2000c) and Bao et al. (2000) reported
mass-independent oxygen isotope fractionations in terrestrial sulfates. A positive
170 excess in sulfate has been found to be almost ubiquitous in desert environ-
ments (Bao et al. 2001). Significant mass-independent sulfur isotope fractionations
have been reported by Farquhar et al. (2000c¢) in sulfides older than 2.4 Ga, whereas
these fractionations do not occur in measurable amounts in sulfides younger than
2.4 Ga (see Fig. 3.29). Smaller, but clearly resolvable, MIFs have been measured
in volcanic aerosol sulfates in polar ice (Baroni et al. 2007). Photolysis of SO, to
sulfuric acid is thought to be the source reaction for these sulfur MIFs (Farquhar
et al. 2001). These recent findings indicate that nonmass-dependent isotope frac-
tionations are more abundant than originally thought and constitute a novel form of
isotopic fingerprint.

1.3.4 Multiply Substituted Isotopologues

In stable isotope geochemistry, generally bulk isotopic compositions of natural sam-
ples are given (e.g., 53¢, 8'%0, etc.). In the measured gases, bulk compositions de-
pend only on abundances of molecules containing one rare isotope (e.g., *C'°0'°0
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Table 1.4 Stochastic abundances of CO, isotopologues (Eiler 2007)

Mass Isotopologue Relative abundance
44 12¢l60, 98.40%
45 13¢l60, 1.11%
12¢l70160 748 ppm
46 2¢ci8ploo 0.40%
Bcl7ot60 8.4 ppm
12¢l70, 0.142 ppm
47 13c8ploo 44.4 ppm
2¢l70130 1.50 ppm
13¢70, 1.60 ppb
48 12¢180, 3.96 ppm
Bcl70180 16.8 ppb
49 13¢130, 44.5 ppb

or 12C'80190). However, there also exist in very low concentration, molecules
having more than one rare isotope such as 3C'80'°0 or 2C'80!'70. These so-
called isotopologues are molecules that differ from one another only in isotopic
composition. Table 1.4 gives the stochastic abundances of isotopologues of CO,.

Already Urey (1947) and Bigeleisen and Mayer (1947) recognized that multi-
ply substituted isotoplogues have unique thermodynamic properties different from
singly substituted isotopologues of the same molecule. Natural distributions of mul-
tiply substituted isotopologues can thus provide unique constraints on geological,
geochemical, and cosmochemical processes (Wang et al. 2004).

Normal gas-source mass spectrometers do not allow meaningful abundance mea-
surements of these very rare species. However, if some demands on high abundance
sensitivity, high precision, and high mass resolving power are met, John Eiler and
his group (e.g., Eiler and Schauble 2004; Affek and Eiler 2006; Eiler 2007) have
reported precise (<0.1%¢) measurements of CO, with mass 47 (A47-values) with an
especially modified, but normal gas-source mass spectrometer. A47-values are de-
fined as %,, difference between the measured abundance of all molecules with mass
47 relative to the abundance of 47, expected for the stochastic distribution.

This new technique is also termed clumped isotope geochemistry (Eiler 2007)
because the respective species are produced by clumping two rare isotopes together.
Deviations from stochastic distributions may result from all processes of isotope
fractionation observed in nature. Thus, processes that lead to isotope fractionations
of bulk compositions also lead to fractionations of multiply substituted isotopo-
logues, implying that clumped isotope geochemistry is potentially applicable to
many geochemical problems (Eiler 2007). So far, the most used application is a
carbonate thermometer based on the formation of the CO; group containing both
13C and '80. Schauble et al. (2006) calculated an ~ 0.4%0 excess of 3C'80!60
groups in carbonate groups at room temperature relative to what would be expected
in a stochastic mixture of carbonate isotopologues with the same bulk '3C/12C,
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180/160, and '70/'90 ratios. The excess amount of 3C'80!0 decreases with in-
creasing temperature and thus may serve as a thermometer (Ghosh et al. 2006).

Potentially, the advantage of this thermometer will be that it allows the determi-
nation of temperatures of carbonate formation without knowing the isotope compo-
sition of the fluid. Came et al. (2007), for example, presented temperature estimates
for early Silurian and late Carboniferous seawater, which are consistent with varying
CO; concentrations.

1.3.5 Diffusion

Ordinary diffusion can cause significant isotope fractionations. In general, light iso-
topes are more mobile and hence diffusion can lead to a separation of light from
heavy isotopes. For gases, the ratio of diffusion coefficients is equivalent to the in-
verse square root of their masses. Consider the isotopic molecules of carbon in CO,
with masses '2C'°0'°0 and '3C!°0'°0 having molecular weights of 44 and 45.
Solving the expression, equating the kinetic energies (1/2m v?) of both species, the
ratio of velocities is equivalent to the square root of 45/44 or 1.01. That is regardless
of temperature, the average velocity of 2C'*0'°0 molecules is about 1% greater
than the average velocity of '3C!®0!60 molecules in the same system. This isotope
effect, however, is more or less limited to ideal gases, where collisions between
molecules are infrequent and intermolecular forces are negligible. The carbon iso-
tope fractionation of soil-CO; due to diffusional movement has been estimated to
be around 4%o for instance (Cerling 1984; Hesterberg and Siegenthaler 1991).

Distinctly different from ordinary diffusion is the process of thermal diffu-
sion in that a temperature gradient results in a mass transport. The greater the
mass difference, the greater is the tendency of the two species to separate by
thermal diffusion. A natural example of thermal diffusion has been presented by
Severinghaus et al. (1996), who observed a small isotope depletion of 'N and
80 in air from a sand dune relative to the free atmosphere. This observation
is contrary to the expectation that heavier isotopes in unsaturated zones of soils
would be enriched by gravitational settling. Such thermally driven diffusional iso-
tope effects have also been described in air bubbles from ice cores (Severinghaus
et al. 1998; Severinghaus and Brook 1999; Grachiev and Severinghaus 2003). Sur-
prisingly large fractionations by thermal diffusion at very high temperatures have
been reported by Richter (2007), who observed 8%o fractionation for 2°Mg/>*Mg
associated with a change of only 150°C across molten basalt. Earlier diffusion
experiments by Richter et al. (1999, 2003) between molten basalt and rhyolite
also demonstrated considerable isotope fractionations of Li, Ca, and Ge (the lat-
ter used as a Si analogue). Especially for Li, diffusion processes occurring at
high temperatures seem to be of first order importance (see p. 44). Thus the no-
tion that isotope fractionations above 1,000°C appear to be negligible has to be
reconsidered.
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In solutions and solids, the relationships are much more complicated than in
gases. The term solid state diffusion generally includes volume diffusion and dif-
fusion mechanisms where the atoms move along paths of easy diffusion such
as grain boundaries and surfaces. Diffusive-penetration experiments indicate a
marked enhancement of diffusion rates along grain boundaries, which are orders
of magnitude faster than for volume diffusion. Thus, grain boundaries can act as
pathways of rapid exchange. Volume diffusion is driven by the random temperature-
dependent motion of an element or isotope within a crystal lattice and it depends
on the presence of point defects, such as vacancies or interstitial atoms within the
lattice.

The flux F of elements or isotopes diffusing through a medium is proportional to
the concentration gradient (dc/dx) such that:

F =—D(dc/dx) (Fick’s first law), (1.21)

where D represents the diffusion coefficient, and the minus sign denotes that the
concentration gradient has a negative slope, i.e., elements or isotopes move from
points of high concentration towards points of low concentration. The diffusion co-
efficient D varies with temperature according to the Arrhenius relation

D = Dy el ~Fa/RT) (1.22)

where D,, is a temperature-independent factor, Ea is the activation energy, R is the
gas constant and 7 is in Kelvin.

In recent years, there have been several attempts to determine diffusion coef-
ficients, mostly utilizing secondary ion mass spectrometry (SIMS), where isotope
compositions have been measured as a function of depth below a crystal surface af-
ter exposing the crystal to solutions or gases greatly enriched with the heavy isotopic
species.

A plot of the logarithm of the diffusion coefficient versus reciprocal temperature
yields a linear relationship over a significant range of temperature for most minerals.
Such an Arrhenius plot for various minerals is shown in Fig. 1.5, which illustrates
the variability in diffusion coefficients for different minerals. The practical appli-
cation of this fact is that the different minerals in a rock will exchange oxygen at
different rates and become closed systems to isotopic exchange at different temper-
atures. As a rock cools from the peak of a thermal event, the magnitude of isotope
fractionations between exchanging minerals will increase. The rate at which the co-
existing minerals can approach equilibrium at the lower temperature is limited by
the volume diffusion rates of the respective minerals.

Several models for diffusive transport in and among minerals have been dis-
cussed in the literature one is the fast grain boundary (FGB) model of Eiler
et al. (1992, 1993). The FGB model considers the effects of diffusion between non-
adjacent grains and shows that, when mass balance terms are included, closure tem-
peratures become a strong function of both the modal abundances of constituent
minerals and the differences in diffusion coefficients among all coexisting minerals.
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Fig. 1.5 Arrhenius plot of diffusion coefficients versus reciprocal temperatures for various miner-
als. Data from phases reacted under wet conditions are given as solid lines, whereas dry conditions
are represented by dashed lines. Note that the rates for dry systems are generally lower and have
higher activation energies (steeper slopes). (Modified after Cole and Chakraborty 2001)

1.3.6 Other Factors Influencing Isotopic Fractionations

1.3.6.1 Pressure

It is commonly assumed that temperature is the main variable determining the
isotopic fractionation and that the effect of pressure is negligible, because molar
volumes do not change with isotopic substitution. This assumption is generally ful-
filled, except for hydrogen. Driesner (1997), Horita and Berndt (1999, 2002), and
Polyakov et al. (2006) have shown, however, that for isotope exchange reactions
involving water, changes of pressure can influence isotope fractionations. Dries-
ner (1997) calculated hydrogen isotope fractionations between epidote and water
and observed a change from —90%o at 1 bar to —30%¢ at 4,000 bars at 400°C.
Horita and Berndt (1999, 2002) presented experimental evidence for a pressure
effect in the system brucite Mg(OH),— water. Theoretical calculations indicate
that pressure effects largely result on water rather than brucite. Thus, it is likely
that D/H fractionations of any hydrous mineral are subject to similar pressure ef-
fects (Horita et al. 2002). These pressure effects have to be taken into account
when calculating the hydrogen isotope composition of the fluid from the mineral
composition.
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1.3.6.2 Chemical Composition

Qualitatively, the isotopic composition of a mineral depends to a very high degree
upon the nature of the chemical bonds within the mineral and to a smaller degree
upon the atomic mass of the respective elements. In general, bonds to ions with
a high ionic potential and small size are associated with high vibrational frequen-
cies and have a tendency to incorporate preferentially the heavy isotope. This re-
lationship can be demonstrated by considering the bonding of oxygen to the small
highly charged Si** ion, compared to the relatively large Fe’* ion of the common
rock-forming minerals. In natural mineral assemblages, quartz is the most 'O-rich
mineral and magnetite is the most '3O-deficient given equilibration in the system.
Furthermore, carbonates are always enriched in '30 relative to most other mineral
groups because oxygen is bonded to the small, highly charged C** ion. The mass
of the divalent cation is of secondary importance to the C-O bonding. However, the
mass effects are apparent in 3*S distributions among sulfides, where, for example,
ZnS always concentrates >*S relative to coexisting PbS.

Compositional effects in silicates are complex and difficult to deduce, because of
the very diverse substitution mechanisms in silicate minerals (Kohn and Valley 1998c¢).
The largest fractionation effect is clearly related to the NaSi = CaAl substitution
in plagioclases, which is due to the higher Si to Al ratio of albite and the greater
bond strength of the Si—O bond relative to the Al-O bond. In pyroxenes, the jadeite
(NaAlISiyOg)—diopside (CaMgSi,Og) substitution also involves Al, but Al in this
case replaces an octahedral rather than tetrahedral site. Chacko et al. (2001) estimate
that at high temperatures the Al-substitution in pyroxenes is about 0.4%, per mole
Al-substitution in the tetrahedral site. The other very common substitutions, the
Fe—Mg and the Ca-Mg substitution, do not generate any significant difference in
fractionation (Chacko et al. 2001).

1.3.6.3 Crystal Structure

Structural effects are secondary in importance to those arising from the primary
chemical bonding; the heavy isotope being concentrated in the more closely packed
or well-ordered structures. The 30 and D fractionations between ice and liquid wa-
ter arise mainly from differences in the degree of hydrogen bonding (order). A rela-
tively large isotope effect associated with structure is observed between graphite and
diamond (Bottinga 1969b). With a modified increment method, Zheng (1993a) has
calculated this structural effect for the SiO; and Al,SiOs polymorphs and demon-
strated that 80 will be enriched in the high pressure forms. In this connection,
it should be mentioned, however, that Sharp (1995) by analyzing natural Al;SiOs
minerals observed no differences for kyanite versus sillimanite.
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1.3.7 Isotope Geothermometers

Isotope thermometry has become well established since the classic paper of Harold
Urey (1947) on the thermodynamic properties of isotopic substances. The partition-
ing of two stable isotopes of an element between two mineral phases can be viewed
as a special case of element partitioning between two minerals. The most impor-
tant difference between the two exchange reactions is the pressure-insensitivity of
isotope partitioning due to the negligible AV of reaction for isotope exchange. This
represents a considerable advantage relative to the numerous types of other geother-
mometers, all of which exhibit a pressure dependence.

The necessary condition to apply an isotope geothermometer is isotope equilib-
rium. Isotope exchange equilibrium should be established during reactions whose
products are in chemical and mineralogical equilibrium. Demonstration that the
minerals in a rock are in oxygen isotope equilibrium is a strong evidence that
the rock is in chemical equilibrium. To break Al-O and Si—O bonds and allow re-
arrangement towards oxygen isotope equilibrium needs sufficient energy to effect
chemical equilibrium as well.

Theoretical studies show that the fractionation factor o for isotope exchange be-
tween minerals is a linear function of 1/72, where T is temperature in degrees
Kelvin. Bottinga and Javoy (1973) demonstrated that O-isotopic fractionation be-
tween anhydrous mineral pairs at temperatures >500°C can be expressed in terms
of a relationship of the form:

1,000 In o = A/T?, (1.23)

which means that the factor A has to be known in order to calculate a temperature of
equilibration. By contrast, fractionations at temperatures <500°C can be expressed
by an equation of the form

1,000 In ¢ = A/T? +B. (1.24)

Although in many instances, B is approximately zero simplifying the expression.

One drawback to isotope thermometry in slowly cooled metamorphic and mag-
matic rocks is that, temperature estimates are often significantly lower than those
from other geothermometers. This results from isotopic resetting associated with
retrograde isotope exchange between coexisting phases or with transient fluids. Dur-
ing cooling in closed systems, volume diffusion may be the principal mechanism by
which isotope exchange occurs between coexisting minerals.

Giletti (1986) proposed a model in which experimentally-derived diffusion data
can be used in conjunction with measured isotope ratios to explain disequilibrium
isotope fractionations in slowly cooled, closed-system mineral assemblages. This
approach describes diffusional exchange between a mineral and an infinite reservoir,
whose bulk isotopic composition is constant during exchange. However, mass bal-
ance requires that loss or gain of an isotope from one mineral must be balanced by a
change in the other minerals still subject to isotopic exchange. Numerical modeling
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by Eiler et al. (1992) has shown that closed-system exchange depends not only on
modal proportions of all of the minerals in a rock, but also on oxygen diffusivity in
minerals, grain size, grain shape, and cooling rate. As shown by Kohn and Valley
(1998c), there is an important water fugacity dependence as well. In the presence of
fluids, further complications may arise because isotope exchange may also occur by
solution-reprecipitation or chemical reaction rather than solely by diffusion.

Three different methods have been used to determine the equilibrium fractiona-
tions for isotope exchange reactions:

(a) Theoretical calculations
(b) Experimental determinations in the laboratory
(c) Empirical or semiempirical calibrations

Method (c) is based on the idea that the calculated formation temperature of a rock
(calculated from other geothermometers) serves as a calibration to the measured
isotopic fractionations, assuming that all minerals were at equilibrium. However,
because there is evidence that equilibrium is not always attained or retained in na-
ture, such empirical calibrations should be regarded with caution.

Nevertheless, rigorous applications of equilibrium criteria to rock-type and the
minerals investigated can provide important information on mineral fractionations
(Kohn and Valley 1998c; Sharp 1995; Kitchen and Valley 1995).

1.3.7.1 Theoretical Calculations

Calculations of equilibrium isotope fractionation factors have been particularly suc-
cessful for gases. Richet et al. (1977) calculated the partition function ratios for a
large number of gaseous molecules. They demonstrated that the main source of error
in the calculation is the uncertainty in the vibrational molecular constants.

The theory developed for perfect gases could be extended to solids, if the parti-
tion functions of crystals could be expressed in terms of a set of vibrational frequen-
cies that correspond to its various fundamental modes of vibration (O’Neil 1986).
By estimating thermodynamic properties from elastic, structural, and spectroscopic
data, Kieffer (1982) and subsequently Clayton and Kieffer (1991) calculated oxy-
gen isotope partition function ratios and from these calculations derived a set of
fractionation factors for silicate minerals. The calculations have no inherent temper-
ature limitations and can be applied to any phase for which adequate spectroscopic
and mechanical data are available. They are, however, limited in accuracy as a con-
sequence of the approximations needed to carry out the calculations and the limited
accuracy of the spectroscopic data.

Isotope fractionations in solids depend on the nature of the bonds between atoms
of an element and the nearest atoms in the crystal structure (O’Neil 1986). The cor-
relation between bond strength and oxygen isotope fractionation was investigated by
Schiitze (1980), who developed an increment method for predicting oxygen isotope
fractionations in silicate minerals. Richter and Hoernes (1988) applied this method
to the calculation of oxygen isotope fractionations between silicate minerals and
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water. More recently, Zheng (1991, 1993b, c¢) extended the increment method by
using parameters of crystal chemistry with no empirical factor. The fractionation
factors calculated using these methods over the temperature range 0—1,200°C are in
relatively good agreement with experimental calibrations.

1.3.7.2 Experimental Calibrations

In general, experimental calibrations of isotope geothermometers have been per-
formed between 250 and 800°C. The upper temperature limit is usually determined
by the stability of the mineral being studied or by limitations of the experimental
apparatus, whereas the lower temperature limit is determined by the decreasing rate
of exchange.

Various experimental approaches have been used to determine fractionation fac-
tors. The three most common techniques are described below:

Two-Direction Approach

This method is analogous to reversing reactions in experimental petrology and is the
only method by which the attainment of equilibrium can be convincingly demon-
strated. Equilibrium fractionations are achieved by starting on opposite sides of the
equilibrium distribution.

Partial-Exchange Technique

The partial-exchange technique is used when rates of isotopic exchange are rela-
tively low and is based on the assumption that the rates of isotope exchange for
companion exchange experiments are identical. Experimental runs have to be the
same in every respect, except in the isotopic compositions of the starting materials.
Rates of isotope exchange reactions in heterogeneous systems are relatively high
at first (surface control) and then become progressively lower with time (diffusion
control). Four sets of experiments are shown in Fig. 1.6 for the CO, — graphite sys-
tem (after Scheele and Hoefs 1992). Northrop and Clayton (1966) presented a set
of equations to describe the kinetics of isotope exchange reactions and developed
a general equation for the partial-exchange technique. At low degrees of exchange,
the fractionations determined by the partial-exchange technique are often larger than
the equilibrium fractionations (O’Neil 1986).

Three-Isotope Method

This method, introduced by Matsuhisa et al. (1978) and later modified by Matthews
et al. (1983a), uses the measurement of both '70/!°0 and '80/'60 fractionations
in a single experiment that has gone to equilibrium. The initial '80/'°O fraction-
ation for the mineral—fluid system is selected to be close to the assumed equilib-
rium, while the initial 70 /60 fractionation is chosen to be very different from the
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Fig. 1.6 CO;-graphite partial-exchange experiments in a Northrop and Clayton plot at 700, 800,
1,000 and 1,200°C. The connecting line in experiment at 1,200°C has a plane slope and defines
the intercept more precisely than the experiment at 700°C (after Scheele and Hoefs 1992)

equilibrium value. In this way, the change in the '70/!00 fractionations monitor the
extent of isotopic exchange and the!80 / 160 fractionations reflect the equilibrium
value. Figure 1.7 gives a schematic diagram of the three-isotope-exchange method.
Most of the published data on mineral fractionations have been determined by
exchange of single minerals with water. This approach is limited by two factors:
(1) many minerals are unstable, melt, or dissolve in the presence of water and
(2) the temperature dependence of the fractionation factor for aqueous systems
is complicated as a consequence of the high vibrational frequencies of the water
molecule. An alternative approach to the experimental determination of isotope
fractionation between minerals was first employed by Clayton et al. (1989) and
Chiba et al. (1989), who demonstrated that both limitations can be avoided by using
CaCOg, instead of H>O, as the common exchange medium. These studies showed
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Fig. 1.7 Schematic representation of the three-isotope exchange method. Natural samples plotted
on the primary mass fractionation line (PF). Initial isotopic composition are mineral (M,) and
water (W,) which is well removed from equilibrium with M, in 570, but very close to equilibrium
with M, in 8'%0. Complete isotopic equilibrium is defined by a secondary mass fractionation line
(SF) parallel to PF and passing through the bulk isotopic composition of the mineral plus water
system. Isotopic compositions of partially equilibrated samples are My and Wy and completely
equilibrated samples are M, and W,. Values for M. and W, can be determined by extrapolation
from the measured values of M,,, My, W, and W; (after Matthews et al. 1983a

that most common silicates undergo rapid oxygen isotope exchange with CaCOs3 at
temperatures above 600°C and pressures of 15 kbar.

Advantages of the carbonate-exchange technique are: (1) experiments up to
1,400°C, (2) no problems associated with mineral solubility and (3) ease of mineral
separation (reaction of carbonate with acid). Mineral fractionations derived from
hydrothermal and carbonate exchange techniques are generally in good agreement
except for fractionations involving quartz and calcite. A possible explanation is a
salt effect in the quartz—water system, but no salt effect has been observed in the
calcite—water system (Hu and Clayton 2003).

1.4 Basic Principles of Mass Spectrometry

Mass spectrometric methods are, by far, the most effective means of measuring iso-
tope abundances. A mass spectrometer separates charged atoms and molecules on
the basis of their masses and motions in magnetic and/or electrical fields. The design
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Fig. 1.8 Schematic representation of a gas-source mass spectrometer for stable isotope measure-
ments. P denotes pumping system, V denotes a variable volume

and applications of the many types of mass spectrometers are too broad to cover
here. Therefore, only the principles of mass analysis will be discussed briefly (for a
more detailed review see Brand (2002)).

In principle, a mass spectrometer may be divided into four different central con-

stituent parts: (1) the inlet system, (2) the ion source, (3) the mass analyzer, and
(4) the ion detector (see Fig. 1.8).

1.

Special arrangements for the inlet system include a changeover valve. This al-
lows rapid, consecutive analysis between two gas samples (sample and standard
gas) within a couple of seconds. The two gases are fed from reservoirs by cap-
illaries of around 0.1 mm in diameter and about 1 m in length. While one gas
flows to the ion source, the other flows to a waste pump so that flow through
the capillaries remains uninterrupted. To avoid a mass discrimination, isotope
abundance measurements of gaseous substances are carried out utilizing viscous
gas flow. During viscous gas flow, the free path length of molecules is small,
molecule collisions are frequent (causing the gas to be well mixed), and no mass
separation takes place. At the end of the viscous-flow inlet system, there is a
leak, a constriction in the flow line. The smallest amount of sample that can be
analyzed with high precision using the dual inlet system is limited by the main-
tenance of viscous-flow conditions. This is generally in the order of 15-20 mbar
(Brand 2002). When trying to reduce sample size, it is necessary to concentrate
the gas into a small volume in front of the capillary.

The ion source is that part of the mass spectrometer, where ions are formed,
accelerated, and focused into a narrow beam. In the ion source, the gas flow is al-
ways molecular. Ions of gaseous samples are most reliably produced by electron
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bombardment. A beam of electrons is emitted by a heated filament, usually tung-
sten or rhenium and is accelerated by electrostatic potentials to an energy be-
tween 50 and 150 eV before entering the ionization chamber, which maximizes
the efficiency of single ionization. Following ionization, any charged molecule
can be further fragmented into several pieces depending on the energy the ion
has acquired, producing a mass spectrum of a specific compound.

To increase the ionization probability, a homogeneous weak magnetic field is used
to keep the electrons on a spiral path. At the end of the ionization chamber, electrons
are collected in a positively charged trap, where the electron current is measured and
kept constant by the emission regulator circuitry.

The ionized molecules are drawn out of the electron beam by action of an electric
field, subsequently accelerated by up to several kV and their path shaped into a
beam, which passes through an exit slit into the analyzer. Thus, the positive ions
entering the magnetic field are essentially monoenergetic, i.e., they will possess the
same kinetic energy, given by the equation:

1/2Mv? = eV. (1.25)

The efficiency of the ionization process determines the sensitivity of the mass
spectrometer, which generally is on the order of 1,000-2,000 molecules per ion
(Brand 2002).

3. The mass analyzer separates the ion beams emerging from the ion source ac-
cording to their m/e (mass/charge) ratios. As the ion beam passes through the
magnetic field, the ions are deflected into circular paths, the radii of which are
proportional to the square root of m/e. Thus, the ions are separated into beams,
each characterized by a particular value of m/e.

In 1940, Nier introduced the sector magnetic analyzer. In this type of analyzer, de-
flection takes place in a wedge-shaped magnetic field. The ion beam enters and
leaves the field at right angles to the boundary, so the deflection angle is equal to
the wedge angle, for instance, 60°. The sector instrument has the advantage of its
source and detector being comparatively free from the mass-discriminating influ-
ence of the analyzer field.

4. After passing through the magnetic field, the separated ions are collected in ion
detectors, where the input is converted into an electrical impulse, which is then
fed into an amplifier. The use of multiple detectors to simultaneously integrate
the ion currents was introduced by Nier et al. (1947). The advantage of the simul-
taneous measurement with two separate amplifiers is that relative fluctuations of
the ion currents as a function of time are the same for all m/e beams. Each detec-
tor channel is fitted with a high ohmic resistor appropriate for the mean natural
abundance of the ion current of interest.

Modern isotope ratio mass spectrometers have at least three Faraday collectors,
which are positioned along the focal plane of the mass spectrometer. Because the
spacing between adjacent peaks changes with mass and because the scale is not
linear, each set of isotopes often requires its own set of Faraday cups.
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1.4.1 Continuous Flow: Isotope Ratio Monitoring Mass
Spectrometers

Between the early 1950s, when the dual viscous-flow mass spectrometer was intro-
duced by Nier and the mid 1980s only minor modifications have been made on the
hardware of commercial mass spectrometers. Special efforts have been undertaken
in the past years to reduce the sample size for isotope measurements. This has led
to a modification of the classic dual inlet technique to the continuous-flow isotope
ratio monitoring mass spectrometer in which the gas to be analyzed is a trace gas in
a stream of carrier gas, which achieves viscous-flow conditions. Today, the majority
of gas mass spectrometers are sold with the continuous flow system, instead of the
dual inlet system.

The classical off-line procedures for sample preparations are time consuming
and analytical precision depends on the skill of the investigator. With on-line tech-
niques, using a combination of an elemental analyzer directly coupled to the mass
spectrometer many problems of the off-line preparation can be overcome and mini-
mized. Differences in both techniques are summarized in Table 1.5.

This new generation of mass spectrometers is often combined with chromato-
graphic techniques. The sample size required for an isotope measurement has been
drastically reduced to the nano- or even pico-molar range (Merritt and Hayes 1994).
Important features of the GC-IRMS technique are (Brand 2002):

1. Ton currents are measured in the order in which molecules emerge from a GC
column, without significant capability of modifying their intensity relative to the
reference gas. Chromotagraphy separates not only different chemical species, but
also the different isotope species, which means that the isotope composition of a
compound varies across the peak of the chemical species after elution. Therefore,
each peak must be integrated over its entire width to obtain the true isotope ratio.

2. The time for measurement of the isotope signals is restricted by the width of the
chromatographic peak. For sharply defined peaks, this can mean less than 5 s.

Table 1.5 Differences between the offline and online techniques

Offline method (dual inlet)

Online method (continuous flow)

Offline sample preparation
Offline purification of gases
Large sample size (mg)
Direct inlet of sample gas
Pressure adjust of both gases

Sample/standard changes (>6 times)
d-value calculated from statistical mean

System calibration on a monthly basis

Little problems with homogeneity of sample

Online sample preparation

Purification of gases by GC column

Small sample size (micrograms)

Sample gas inlet via carrier gas

No pressure adjust, linearity, and stability of
the system are necessary conditions

One peak per sample

d-value calculated by peak integration and
reference gas

System calibration on a daily basis and
during the run

Problems with homogeneity of sample
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3. Absolute sensitivity is much more important than with the dual inlet system.
Since sample sizes required for chromatography are significantly smaller, it is
often important to use a significantly large set of samples in order to obtain a
statistically sound data base.

Standardization has to be accomplished through the use of an added internal stan-
dard, whose isotopic composition has been determined using conventional tech-
niques.

The development of this technique has proceeded along several independent
paths with two principal lines being elemental analyzer—IRMS and capillary gas
chromatography—IRMS. In elemental analyzers, samples are combusted to CO;, N»,
SO, and H,O, which are either chemically trapped or separated on GC columns.
The advantages of these techniques are an automated preparation with low costs per
sample and a large sample through-put.

1.5 Standards

The accuracy with which absolute isotope abundances can be measured is substan-
tially poorer than the precision with which relative differences in isotope abun-
dances between two samples can be determined. Nevertheless, the determination
of absolute isotope ratios is very important, because these numbers form the basis
for the calculation of the relative differences, the 8-values. Table 1.6 summarizes
absolute isotope ratios of primary standards used by the international stable isotope
community.

To compare isotope data from different laboratories, an internationally accepted
set of standards is necessary. Irregularities and problems concerning standards have
been evaluated by Friedman and O’Neil (1977), Gonfiantini (1978, 1984), Coplen

Table 1.6 Absolute isotope ratios of international standards. (After Hayes 1983)

Standard Ratio Accepted value Source
(x10%) (with 95%
confidence interval)

SMOW D/H 155.76 £0.10 Hagemann et al. (1970)
130/1°0  2,005.20 +0.43 Baertschi (1976)
70/1%0 373 +15 Nier (1950), corrected
by Hayes (1983)
PDB Bc/2C 11,237.2+2.9 Craig (1957)

80/10  2067.1 £2.1
70/1%0 379 +15

Air nitrogen BN/UN  3,676.5 +8.1 Junk and Svec (1958)

Canyon Diablo 34S/32$ 45,004.5 £9.3 Jensen and Nakai (1962)
Troilite (CDT)
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et al. (1983), Coplen (1996), and Coplen et al. (2006). The accepted un~it of iso-
tope ratio measurements is the delta value (8 given in per mill (%o). The o value is

defined as

R(Sample) - R(Standard)

0in% = 1,000, (1.26)

R(Standard)

where R represents the measured isotope ratio. If 84 > J, it is convenient to speak of
A being enriched in the rare or heavy isotope, compared to B. Unfortunately, not all
of the 8-values cited in the literature are given relative to a single universal standard,
so that often several standards of one element are in use. To convert §-values from
one standard to another, the following equation may be used

([ 8B-a Ox—B 3
Sy a = KWH) ( e +1> —1} 10%, (1.27)

where X represents the sample, A and B different standards.

For different elements, a convenient working standard is used in each labora-
tory. However, all values measured relative to the respective working standard are
reported in the literature relative to a universal standard.

As an example, for the relationship between the content of an isotope in % and
the d-value in %o, Fig. 1.9 demonstrates that large changes in the d-value only in-
volve very small changes in the heavy isotope content (in this case the %0 content).
An ideal standard used worldwide as the zero-point on a §-scale should satisfy the
following requirements:

1. Be homogeneous in composition

2. Be available in relatively large amounts

3. Be easy to handle for chemical preparation and isotopic measurement, and
4. Have an isotope ratio near the middle of the natural range of variation

Among the reference samples now used, relatively few meet all of these require-
ments. For instance, the situation for the SMOW standard is rather confusing. The

0.215 ] 99.785
0210F J99.790
T 0.2055 199795 ¥
— 0.200F 199.800 u_:o
= r
°§> 0.195 199.805 l
0.190 F 0.1 %o = 0.00002% 1 99.810
0.180 T T Y N S ST T T N A Y T NN S SO N M 99.815
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Fig. 1.9 Relationship between 80 (1°0) content in per cent and 5'%0in per mill
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Table 1.7 Worldwide standards in use for the isotopic composition of hydrogen, boron, carbon,
nitrogen, oxygen, silicium, sulfur, and chlorine

Element  Standard Standard
H Standard Mean Ocean Water V-SMOW
B Boric acid (NBS) SRM 951
C Belemnitella americana from the Cretaceous Peedee V-PDB
formation, South Carolina

N Air nitrogen N2 (atm.)
O Standard Mean Ocean Water V-SMOW
Si Quartz sand NBS-28

S Troilite (FeS) from the Canyon Diablo iron meteorite V-CDT
Cl Seawater chloride SMOC

SMOW standard was originally a hypothetical water sample with an isotopic com-
position very similar to average untreated ocean water (Craig 1961b), but being
defined in terms of a water sample distributed by the National Bureau of Standards
(NBS-1). Later, the IAEA distributed a distilled water sample named V-SMOW
(Vienna-SMOW), which is very close to, but not identical in isotope composition
to, the original SMOW standard. The worldwide standards now in general use are
given in Table 1.7.

The problems related to standards are discussed by an IAEA advisory group,
which meet from time to time. As a result of these meetings, the quality and avail-
ability of the existing standards and the need of new standards have been discussed
and agreed.

A further advancement comes from inter-laboratory comparison of two standards
having different isotopic composition that can be used for a normalization procedure
correcting for all proportional errors due to mass spectrometry and to sample prepa-
ration. Ideally, the two standard samples should have isotope ratios as different as
possible, but still within the range of natural variations. There are, however, some
problems connected with data normalization, which are still under debate. For exam-
ple, the CO; equilibration of waters and the acid extraction of CO, from carbonates
are indirect analytical procedures, involving temperature-dependent fractionation
factors (whose values are not beyond experimental uncertainties) with respect to the
original samples and which might be re-evaluated on the normalized scale.

Table 1.8 summarizes gases, which are used for mass spectrometric analysis of
the various elements.

1.6 General Remarks on Sample Preparation Methods
for Gases

Isotopic differences between samples to be measured are often extremely small.
Therefore, great care has to be taken to avoid any isotope fractionation during chem-
ical or physical treatment of the sample. The quality of a stable isotope analysis is
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Table 1.8 Gases most commonly used in isotope ratio in mass spectrometry

Element Gas

Ha

CO,,CO

N,

CO,, CO, Oy
SO,, SFg
SiF,

oznOmx

»Y »n

determined by the purity of the gas prepared from the sample, quantitative yield,
blank, and memory effects.

To convert geologic samples to a suitable form for analysis, many different chem-
ical preparation techniques must be used. These diverse techniques all have one
general feature in common: any preparation procedure providing a yield of less than
100% may produce a reaction product that is isotopically different from the original
specimen because the different isotopic species have different reaction rates.

A quantitative yield of a pure gas is usually necessary for the mass spectrometric
measurement in order to prevent not only isotope fractionation during sample prepa-
ration, but also interference in the mass spectrometer. Contamination with gases
having the same molecular masses and similar physical properties may be a serious
problem. This is especially critical with CO, and N, O, (Craig and Keeling 1963),
and N; and CO. When CO;, is used, interference by hydrocarbons and a CS + ion
may also pose a problem.

Contamination may result from incomplete evacuation of the vacuum system
and/or from degassing of the sample. The system blank should be normally less than
1% of the amount of gas prepared from a sample for analysis. For very small sam-
ple sizes, the blank may ultimately limit the analysis. Memory effects result from
samples that have previously been analyzed. They will become noticeable, when
samples having widely different isotopic compositions are analyzed consecutively.

How gases are transferred, distilled, or otherwise processed in vacuum lines is
briefly discussed under the different elements. A more detailed description can be
found in the recently published Handbook of Stable Isotope Analytical Techniques,
edited by de Groot (2004).

All errors due to chemical preparation limit the overall precision of an isotope ra-
tio measurement to usually 0.1-0.2%o, while modern mass spectrometer instrumen-
tation enables a precision better than 0.02%o for light elements other than hydrogen.
Larger uncertainties are expected, when elements present in a sample at very low
concentration are extracted by chemical methods (e.g., carbon and sulfur from ig-
neous rocks).

Commercial combustion elemental analyzers perform a flash combustion, con-
verting samples to CO,, H,0, Ny, and SO, simultaneously. These different gases
are then chemically trapped, converted, or separated on GC columns and measured
in a continuous flow mass spectrometer. This technique allows the determination
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of several isotope ratios from the same component, increasing the possibilities of
isotope fingerprinting of organic and inorganic compounds containing isotopes of
more than one element of interest. Because of very high combustion temperatures,
the quantitative conversion of the sample material is guaranteed.

1.7 Microanalytical Techniques

In recent years, microanalytical techniques, which permit relatively precise isotopic
determinations on a variety of samples that are orders of magnitude smaller than
those used in conventional techniques, have become increasingly important. Differ-
ent approaches have been used in this connection, which generally reveal greater
isotope heterogeneity than conventional analytical approaches. As a rule of thumb:
the smaller the scale of measurement, the larger the sample heterogeneity.

1.7.1 Laser Microprobe

Laser assisted extraction is based on the fact that the energy of the laser beam is
absorbed efficiently by a number of natural substances of interest. The absorption
characteristics depend on the structure, composition, and crystallinity of the sam-
ple. High energy, finely-focussed laser beams have been used for some years for Ar
isotope analysis. The first well-documented preparation techniques with CO; and
Nd-YAG laser systems for stable isotope determinations have been described by
Crowe et al. (1990), Kelley and Fallick (1990) and Sharp (1990). Their results show
that sub-milligram quantities of mineral can be analyzed for oxygen, sulfur, and
carbon. In order to achieve precise and accurate measurements, the samples have
to be evaporated completely because steep thermal gradients during laser heating
induce isotopic fractionations (Elsenheimer and Valley 1992). The thermal effects
of CO; and Nd—YAG laser assisted preparation techniques require that sample sec-
tions be cut into small pieces before total evaporation. The spatial resolution of this
technique is limited to about 500 pm.

Thermal effects can be overcome by vapourizing samples with ultraviolet (UV)
KrF and ArF lasers, thus making possible in situ oxygen isotope analysis of silicates
(Wiechert and Hoefs 1995; Fiebig et al. 1999; Wiechert et al. 2002).

1.7.2 Secondary Ion Mass Spectrometry

Two different types of SIMS are generally used: the Cameca f-series and the
SHRIMP (Sensitive High mass Resolution Ion MicroProbe) series (Valley and
Graham 1993; Valley et al. 1998; McKibben and Riciputi 1998). Analysis in the
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ion-microprobe is accomplished by sputtering a sample surface using a finely fo-
cused primary ion beam producing secondary ions, which are extracted and ana-
lyzed in the secondary mass spectrometer. The main advantages of this technique
are its high sensitivity, high spatial resolution, and its small sample size. Sputter
pits for a typical 30 min SIMS analyses have a diameter of 10-30pum and a depth
of 1-6um, a spatial resolution that is an order of magnitude better than laser tech-
niques. Disadvantages are that the sputtering process produces a large variety of
molecular secondary ions along with atomic ions, which interfere with the atomic
ions of interest and that the ionization efficiencies of different elements vary by
many orders of magnitude and strongly depend on the chemical composition of
the sample. This matrix effect is one of the major problems of quantitative analy-
sis. The two instruments (Cameca and SHRIMP) have technical features, such as
high resolving power and energy filtering, which help to overcome the problems
of the presence of molecular isobaric interferences and the matrix dependence of
secondary ion yields.

Fitzsimons et al. (2000) have reviewed the factors that influence the precision of
SIMS stable isotope data. All sample analyses must be calibrated for instrumental
mass fractionation using SIMS analyses of a standard material. Under favorable
circumstances, precision can reach a few tenths of a per mill. The latest version of
ion-microprobe is the Cameca-IMS-1280 type, allowing further reduction in sample
and spot size and achieving precise analysis of isotope ratios at the 0.1%o level (Page
et al. 2007).

1.8 Stable Isotope Variations of Heavy Elements

Advances in TIMS-techniques and the introduction of multiple collector-ICP-MS
(MC-ICP-MS) techniques have enabled the research on natural variations of a wide
range of transition and heavy metal systems for the first time, which so far could not
have been measured with the necessary precision. The advent of MC-ICP-MS has
improved the precision on isotope measurements to about 40 ppm on elements such
as Zn, Cu, Fe, Cr, Mo, and TI. The technique combines the strength of the ICP tech-
nique (high ionization efficiency for nearly all elements) with the high precision of
thermal ion source mass spectrometry equipped with an array of Faraday collectors.
The uptake of elements from solution and ionization in a plasma allows correc-
tion for instrument-dependent mass fractionations by addition of external spikes or
the comparison of standards with samples under identical operating conditions. All
MC-ICP-MS instruments need Ar as the plasma support gas, in a similar manner
to that commonly used in conventional [CP-MS. Mass interferences are thus an in-
herent feature of this technique, which may be circumvented by using desolvating
nebulisers.

Maréchal et al. (1999) and Zhu et al. (2000a) first described techniques for the de-
termination of Cu- and Zn-isotope ratios. Observed variations at low temperatures
are on the order of several %o, much more than originally expected on the basis
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of the relatively small mass differences among isotopes of heavier elements. The
magnitude of fractionations depends on several factors such as the participation of
redox reactions and biologically mediated reactions. Fractionation mechanisms re-
sponsible for the observed variations are so far unknown in most cases but should be
the same as for light elements. Of special importance seem speciation and absorp-
tion phenomena. Since most metals can coordinate with a number of ligands, iso-
tope effects between dissolved aqueous species particularly at different redox states
are therefore of special importance (Anbar and Rouxel 2007). Furthermore, absorp-
tion of dissolved species on particle surfaces represents another important fractiona-
tion mechanism. A small number of studies have demonstrated small fractionations
<1%o as metal ions are removed from solution onto oxide surfaces. Generally, the
heavier isotope preferentially absorbs on metal oxide surfaces, which is consistent
with shorter metal-oxygen bonds and lower coordination number for the absorbed
relative to the aqueous species (Balistrieri et al. 2008). The largest fractionation
(1.8%o0) so far observed occurs between dissolved and absorbed Mo (Barling and
Anbar 2004).

Schauble (2004) applied the theory of stable isotope fractionation to nontradi-
tional isotope systems. He pointed out that, differences in coordination numbers
among coexisting phases control isotope fractionation of cations. The lighter iso-
tope preferentially occupies the higher coordinated site. Thus, differences in iso-
tope composition of lithophile elements such as Mg, Ca, and Li are likely to reflect
changes in coordination numbers

Although equilibrium fractionations have been documented for some transition
metal (i.e., Fe), they should be small and may be overwhelmed by kinetic fractiona-
tions in low-temperature and biological systems (Schauble 2004). For any transition
metal, it remains to be demonstrated that biological effects dominate the natural
isotope variability.

Table 1.9 gives a summary of the respective heavy elements and the isotope vari-
ations observed so far.

Table 1.9 Natural variation ranges of heavy elements and some important geochemical properties
probably causing the variations

Element  Isotopes Variations in %0 Geochemistry

24Cr 4 isotopes (50, 52, 53, 54) 5(?) (53/52) Cr3+, Cr6+; (contaminant)

2 Fe 4 isotopes (54, 56, 57, 58) 5 (56/54) Fe?*, Fe3*, FeU iron bacteria
29Cu 3 Cu, Cu >7 Cu*, Cu®*, Cu®

30Zn 4 isotopes (64, 66, 67, 68) 1 (66/64) No redox reactions

34Se 6 isotopes (from 74 to 82) ~10(82/76) Similarity with S

1Mo 7 isotopes (from 92 to 100) 3(97/95) Mo%t, Mo?*

soHg 7 isotopes (from 196 to 204 5 highly volatile

Hg' Hg** Hg’
31Tl 203y, 2057] 2 TI*, TI3* highly volatile




Chapter 2

Isotope Fractionation Processes of Selected
Elements

The foundations of stable isotope geochemistry were laid in 1947 by Urey’s classic
paper on the thermodynamic properties of isotopic substances and by Nier’s de-
velopment of the ratio mass spectrometer. Before discussing details of the naturally
occurring variations in stable isotope ratios, it is useful to describe some generalities
that are pertinent to the field of non-radiogenic isotope geochemistry as a whole.

1.

Isotope fractionation is pronounced when the mass differences between the iso-
topes of a specific element are large relative to the mass of the element. There-
fore, isotope fractionations are especially large for the light elements (up to a
mass number of about 40). Recent developments in analytical techniques have
opened the possibility to detect small variations in elements with much higher
mass numbers. The heaviest element for which natural variations have been re-
ported is thallium with isotopes of masses 203 and 205 (Rehkdmper and Halli-
day 1999).

All elements that form solid, liquid, and gaseous compounds stable over a wide
temperature range are likely to have variations in isotopic composition. Gener-
ally, the heavy isotope is concentrated in the solid phase in which it is more
tightly bound. Heavier isotopes tend to concentrate in molecules in which they
are present in the highest oxidation state.

Mass balance effects can cause isotope fractionations because modal proportions
of substances can change during a chemical reaction. They are especially impor-
tant for elements in situations where these coexist in molecules of reduced and
oxidized compounds. Conservation of mass in an n component system can be
described by

6(system) = in d; 2.1

where “x;” is the mole fraction of the element in question for each of n phases
within the system.

Isotopic variations in most biological systems are mostly caused by kinetic ef-
fects. During biological reactions (e.g. photosynthesis, bacterial processes) the
lighter isotope is very often enriched in the reaction product relative to the sub-
strate. Most of the fractionations in biological reactions generally take place

J. Hoefs, Stable Isotope Geochemistry, 35
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during the so-called rate determining step, which is the slowest step. It commonly
involves a large reservoir, where the material actually used is small compared to
the size of the reservoir.

2.1 Hydrogen

Until 1931 it was assumed that hydrogen consisted of only one isotope. Urey
et al. (1932) detected the presence of a second stable isotope, which was called
deuterium. (In addition to these two stable isotopes there is a third naturally oc-
curing but radioactive isotope, *H, tritium, with a half-life of approximately 12.5
years). Rosman and Taylor (1998) gave the following average abundances of the
stable hydrogen isotopes:

"H:99.9885%

’D:0.0115%
The isotope geochemistry of hydrogen is particularly interesting, for two reasons:

1. Hydrogen is omnipresent in terrestrial environments occurring in different oxi-
dation states in the forms of H,O, H;0", OH ™, H, and CHy, even at great depths
within the Earth. Therefore, hydrogen is envisaged to play a major role, directly
or indirectly, in a wide variety of naturally occurring geological processes.

2. Hydrogen has by far the largest mass difference relative to the mass of the ele-
ment between its two stable isotopes. Consequently hydrogen exhibits the largest
variations in stable isotope ratios of all elements.

The ranges of hydrogen isotope compositions of some geologically important reser-
voirs are given in Fig. 2.1. It is noteworthy that all rocks on Earth have somewhat
similar hydrogen isotope compositions, which is a characteristic feature of hydro-
gen, but not of the other elements. The reason for this overlap in isotope composi-
tion for rocks is likely due to the enormous amounts of water that have been cycled
through the outer shell of the Earth.

2.1.1 Preparation Techniques and Mass Spectrometric
Measurements

Determination of the D/H ratio of water is performed on Hy-gas. There are two
different preparation techniques: (1) equilibration of milliliter-sized samples with
gaseous hydrogen gas, followed by mass-spectrometric measurement and back cal-
culation of the D/H of the equilibrated H, (Horita 1988). Due to the very large frac-
tionation factor (0.2625 at 25°C) the measured Hj is very much depleted in D, which
complicates the mass-spectrometric measurement. (2) water is converted to hydro-
gen by passage over hot metals (uranium: Bigeleisen et al. 1952; Friedman 1953;
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Fig. 2.1 8D ranges of some geologically important reservoirs

Godfrey 1962, zinc: Coleman et al. 1982, chromium: Gehre et al. 1996). This is still
the classic method and commonly used.

A difficulty in measuring D/H isotope ratios is that, along with the Hy* and
HD™ formation in the ion source, H3 is produced as a by-product of ion-molecule
collisions. Therefore, a H3 " correction has to be made. The amount of H; ™ formed
is directly proportional to the number of H, molecules and H' ions. Generally the
H3 " current measured for hydrogen from ocean water is on the order of 16% of the
total mass 3. The relevant procedures for correction have been evaluated by Brand
(2002).

Analytical uncertainty for hydrogen isotope measurements is usually in the range
+0.5 to +5%o depending on different sample materials, preparation techniques and
laboratories.

Burgoyne and Hayes (1998) and Sessions et al. (1999) introduced the continu-
ously flow technique for the D/H measurement of individual organic compounds.
The precise measurement of D/H ratios in a He carrier poses a number of analyt-
ical problems, related to the tailing from the abundant “He™ onto the minor HD™*
peak as well as on reactions occurring in the ion source that produce H3 ™. However,
these problems have been overcome and precise hydrogen isotope measurements of
individual organic compounds are possible.

2.1.2 Standards

There is a range of standards for hydrogen isotopes. The primary reference standard,
the zero point of the §-scale, is V-SMOW, which is virtually identical in isotopic
composition with the earlier defined SMOW, being a hypothetical water sample
orginally defined by Craig (1961b).
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Table 2.1 Hydrogen isotope standards

Standards ~ Description d-value
V-SMOW  Vienna Standard Mean 0
Ocean Water
GISP Greenland Ice Sheet
Precipitation —189.9

V-SLAP Vienna Standard Light
Antarctic Precipitation — —428
NBS-30 Biotite —65

V-SMOW has a D/H ratio that is higher than most natural samples on Earth,
thus dD-values in the literature are generally negative. The other standards, listed in
Table 2.1, are generally used to verify the accuracy of sample preparation and mass
spectrometry.

2.1.3 Fractionation Processes

The most effective processes in the generation of hydrogen isotope variations in the
terrestrial environment are phase transitions of water between vapor, liquid, and ice
through evaporation/precipitation and/or boiling/condensation in the atmosphere, at
the Earth’s surface, and in the upper part of the crust. Differences in H-isotopic com-
position arise due to vapor pressure differences of water and, to a smaller degree, to
differences in freezing points. Because the vapor pressure of HDO is slightly lower
than that of H,O, the concentration of D is lower in the vapor than in the liquid
phase. In a simple, but elegant experiment Ingraham and Criss (1998) have mon-
itored the effect of vapor pressure on the rate of isotope exchange between water
and vapor, which is shown in Fig. 2.2. Two beakers with isotopically differing wa-
ters were juxtaposed in a sealed box to monitor the exchange process at different
temperatures (in this case 21 and 52°C). As shown in Fig. 2.12 in the 52°C ex-
periment the isotopic composition of the water changes rapidly and nearly reaches
equilibrium in only 27 days.

Horita and Wesolowski (1994) have summarized experimental results for the hy-
drogen isotope fractionation between liquid water and water vapor in the tempera-
ture range 0-350°C (see Fig. 2.3). Hydrogen isotope fractionations decrease rapidly
with increasing temperatures and become zero at 220-230°C. Above the crossover
temperature, water vapor is more enriched in deuterium than liquid water. Fraction-
ations again approach zero at the critical temperature of water (Fig. 2.3).

From experiments, Lehmann and Siegenthaler (1991) determined the equilib-
rium H-isotope fractionation between ice and water to be +21.2%¢. Under natural
conditions, however, ice will not necessarily be formed in isotopic equilibrium with
the bulk water, depending mainly on the freezing rate.
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Fig. 2.2 3D values versus time for two beakers that have equal surface areas and equal volumes
undergoing isotopic exchange in sealed systems. In both experiments at 21 and 52°C isotope ratios
progress toward an average value of —56%o via exchange with ambient vapour. Solid curves are
calculated, points are experimental data (after Criss, 1999)
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Fig. 2.3 Experimentally determined fractionation factors between liquid water and water vapour
from 1 to 350°C (after Horita and Wesolowski, 1994)
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Fig. 2.4 Global relationship between monthly means of 8D and 880 in precipitation, derived for
all stations of the IAEA global network. Line indicates the global meteoric water line (MWL) (after
Rozanski et al. 1993)

In all processes concerning the evaporation and condensation of water, hydrogen
isotopes are fractionated in a similar fashion to those of oxygen isotopes, albeit with
a different magnitude, because a corresponding difference in vapor pressures exists
between H,O and HDO in one case and Hé(’O and H%gO in the other.

Therefore, the hydrogen and oxygen isotope distributions are correlated for me-
teoric waters. Craig (1961a) first defined the generalized relationship:

3D =85'%0+ 10,

which describes the interdependence of H- and O-isotope ratios in meteoric waters
on a global scale.

This relationship, shown in Fig. 2.4, is described in the literature as the

“Global Meteoric Water Line (GMWL)”.

Neither the numerical coefficient 8 nor the constant 10, also called the deuterium
excess d, are constant in nature. Both may vary depending on the conditions of
evaporation, vapor transport and precipitation and, as a result, offer insight into cli-
matic processes. The deuterium excess d is a valuable tool to derive information on
relative humidities.

2.1.3.1 Equilibrium Exchange Reactions

D/H fractionations among gases are extraordinarily large, as calculated by Bottinga
(1969a) and Richet et al. (1977) and plotted in Fig. 2.5. Even in magmatic systems,
fractionation factors are sufficiently large to affect the dD-value of dissolved water
in melts during degassing of H», H»S or CHy4. The oxidation of H, or CH4 to H,O



2.1 Hydrogen 41

Fig. 2.5 D/H fractionations 1200
between H,O — H,,H,O —
H,S and H,O — CH4 (from 1000 R
calculated data of Richet
et al. ]977) ? 800 o
Q
T
=1 600 *
£
S 400 e

200F  H0-CH,
O 1 1 1 1
0 200 400 600 800 1000 °C

and CO, may also have an effect on the isotopic composition of water dissolved in
melts due to the large fractionation factors.

With respect to mineral-water systems, different experimental studies obtained
widely different results for the common hydrous minerals with respect to the ab-
solute magnitude and the temperature dependence of D/H fractionations (Suzuoki
and Epstein 1976; Graham et al. 1980; Vennemann et al. 1996). Suzuoki and
Epstein (1976) first demonstrated the importance of the chemical composition of
the octahedral sites in crystal lattices to the mineral H-isotope composition. Sub-
sequently, isotope exchange experiments by Graham et al. (1980, 1984) suggested
that the chemical composition of sites other than the octahedral sites can also affect
hydrogen isotope compositions. These authors postulate a qualitative relationship
between hydrogen-bond distances and hydrogen isotope fractionations: the shorter
the hydrogen bond, the more depleted the mineral is in deuterium.

On the basis of theoretical calculations, Driesner (1997) proposed that many of
the discrepancies between the experimental studies were due to pressure differences
at which the experiments were carried out. Thus for hydrogen, pressure is a variable
that must be taken into account in fluid-bearing systems. Later, Horita et al. (1999)
presented experimental evidence for a pressure effect between brucite and water.

Chacko et al. (1999) developed an alternative method for the experimental deter-
mination of hydrogen isotope fractionation factors. Instead of using powdered min-
erals as starting materials these authors carried out exchange experiments with large
single crystals and then analyzed the exchanged rims with the ion probe. Although
the precision of the analytical data is less than that for conventional bulk techniques,
the advantage of this technique is that it allows the determination of fractionation
factors in experiments in which isotopic exchange occurs by a diffusional process
rather than by a combination of diffusion and recrystallization.

In summary, as discussed by Vennemann and O’Neil (1996), discrepancies be-
tween published experimental calibrations in individual mineral-water systems are
difficult to resolve, which limits the application of D/H fractionations in mineral—
water systems to estimate dD-values of coexisting fluids.
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2.1.3.2 Kinetic Isotope Effects

Large hydrogen isotope fractionations occur during the conversion of hydrogen
from water to organic matter. The magnitude of H isotope fractionations is gener-
ally controlled by the biochemical pathways used. Although details of this com-
plex process are still unknown, there is discussion about the quantitative role
of kinetic and equilibrium isotope fractionations. Tremendous progress has been
achieved through the introduction of the compound specific hydrogen isotope anal-
ysis (Sessions et al. 1999; Sauer et al. 2001; Schimmelmann et al. 2006), which
allows the 0D analysis of individual biochemical compound. Further details are dis-
cussed in Sect. 3.10.1.2.

2.1.3.3 Other Fractionation Effects

In salt solutions, isotopic fractionations can occur between water in the “hydration
sphere” and free water (Truesdell 1974). The effects of dissolved salts on hydrogen
isotope activity ratios in salt solutions can be qualitatively interpreted in terms of
interactions between ions and water molecules, which appear to be primarily re-
lated to their charge and radius. Hydrogen isotope activity ratios of all salt solutions
studied so far are appreciably higher than H-isotope composition ratios. As shown
by Horita et al. (1993), the D/H ratio of water vapor in isotope equilibrium with a
solution increases as salt is added to the solution. Magnitudes of the hydrogen iso-
tope effects are in the order CaCl, > MgCl, > MgSO, > KCl ~ NaCl > NaSOy, at
the same molality.

Isotope effects of this kind are relevant for an understanding of the isotope com-
position of clay minerals and absorption of water on mineral surfaces. The tendency
for clays and shales to act as semipermeable membranes is well known. This effect
is also known as “ultrafiltration”. Coplen and Hanshaw (1973) postulated that hy-
drogen isotope fractionations may occur during ultrafiltration in such a way that the
residual water is enriched in deuterium due to its preferential adsorption on the clay
minerals and its lower diffusivity.

2.2 Lithium

Lithium has two stable isotopes with the following abundances (Rosman and Taylor
1998):

0Li7.59%
7Li92.41%

Lithium is one of the rare elements where the lighter isotope is less abundant than
the heavier one. In order to be consistent with the other isotope systems lithium
isotope ratios are reported as 8’ Li-values.
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The large mass difference relative to the mass of the element between °Li and 7Li
of about 16% is a favorable condition for their fractionation in nature. Taylor and
Urey (1938) found a change of 25% in the Li-isotope ratio when Li-solutions perco-
late through a zeolite column. Thus, fractionation of Li-isotopes might be expected
in geochemical settings in which cation exchange processes are involved.

Early workers had to struggle with serious lithium fractionation effects dur-
ing mass spectrometric analysis. Today most workers use the multicollector sector
ICP-MS technique first described by Tomascak et al. (1999). Improvements of the
analytical techniques in recent years have lead to an accuracy better than 0.3%o.
Unfortunately, there are no internationally accepted Li isotope values for rocks or
waters. James and Palmer (2000) have determined nine international rock standards
ranging from basalt to shale relative to the so-called NIST L-SVEC standard.

i) Characteristic features of Li isotope geochemistry

Lithium isotope geochemistry is characterized by a difference close to 30%o between
ocean water (87Li + 31%o0) and bulk silicate earth with a &’ Li-value of 3.2%o (Seitz
et al. 2007). In this respect lithium isotope geochemistry is very similar to that of
boron (see p. 45). The isotopic difference between the mantle and the ocean can
be used as a powerful tracer to constrain water/ rock interactions (Tomaszak 2004).
Figure 2.6 gives an overview of Li-isotope variations in major geological reservoirs.
During weathering "Li is preferentially mobilized, whereas °Li is enriched in
the weathering residue. Rudnick et al. (2004) have demonstrated that Li isotope
fractionation correlates directly with the degree of weathering and that very light
8’Li of —20%o can be produced in soils. Thus, very effective Li-isotope fraction-
ation processes are operative in the sedimentary environment. By analyzing major
rivers, Huh et al. (1998) observed a large variation in 8’Li in river waters with the
suspended load being systematically lighter than the dissolved load.
Mantle-derived basalts, on the other hand, have a relatively uniform composition
with 8’Li values of 4 + 2% (Tomaszak 2004; Elliott et al. 2004). The continen-
tal crust generally has a lighter Li isotope composition than the upper mantle from
which it was derived (Teng et al. 2004). Considering the small Li isotope fractiona-
tion at high temperature igneous differentiation processes (Tomaszak 2004), pristine
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continental crust should not be too different in Li isotope composition from the man-
tle. Because this is not the case, the isotopically light crust must have been modified
by secondary processes, such as weathering, hydrothermal alteration and prograde
metamorphism (Teng et al. 2007).

Given the homogeneity of basaltic rocks, it is surprising that peridotites have
a wide range in 8’Li values from values as low as —17%o (Nishio et al. 2004) to
values as high as +10%o (Brooker et al. 2004). This unexpected finding can be ex-
plained by diffusion processes that affect mantle minerals during melt migration
(Parkinson et al. 2007). The latter authors have demonstrated that °Li diffuses 3%
faster than "Li in silicate minerals consistent with diffusion experiments by Richter
et al. (2003). Thus diffusion at magmatic temperatures is a very effective mecha-
nism for generating large variations in ’Li/®Li ratios (Lundstrom et al. 2005; Teng
et al. 2006; Rudnick and Ionov 2007). Although diffusion profiles will relax with
time the existence of sharp &’ Li-profiles suggest diffusional Li isotope fractiona-
tion over short timescales (days to a few months) and therefore diffusion profiles
in mantle minerals may be used as geospeedometers (Parkinson et al. 2007). At the
same time diffusion may obliterate primary mantle signatures.

During fluid—rock interaction, Li as a fluid-mobile element will enrich in aqueous
fluids. It might therefore be expected that 8'Li enriched seawater incorporated into
altered oceanic crust should be removed during subduction zone metamorphism.
Continuous dehydration of pelagic sediments and altered oceanic crust results in
"Li-depleted rocks and in "Li enriched fluids. A subducting slab therefore should
introduce large amounts of ’Li into the mantle wedge. To quantitatively understand
this process Li isotope fractionation factors between minerals and coexisting flu-
ids must be known. First attempts have been undertaken by Wunder et al. (2006,
2007) by determining experimentally the Li isotope fractionations between pyrox-
ene, mica, staurolite and C1~ and OH™ bearing fluids. These authors showed that
"Li is preferentially partitioned into the fluid.

Because Li isotopes may be used as a tracer to identify the existence of re-
cycled material in the mantle, systematic studies of arc lavas have been under-
taken (Moriguti and Nakamura 1998; Tomascak et al. 2000; Leeman et al. 2004
and others). However, most arc lavas have 8’Li values that are indistinguishable
from those of MORB. Thus Li seems to be decoupled from other fluid mobile ele-
ments, because Li can partition into Mg-silicates (pyroxene, olivine) in the mantle
(Tomascak et al. 2002).

Lithium is a conservative element in the ocean with a residence time of about one
million year. Its isotope composition is maintained by inputs of dissolved Li from
rivers (average 8"Li + 23%o, Huh et al. 1998) and high-temperature hydrothermal
fluids at ocean ridges at one hand and low temperature removal of Li into oceanic
basalts and marine sediments at the other. Any variance in these sources and sinks
thus should cause secular variations in the isotope composition of oceanic Li. And
indeed in a first attempt Hoefs and Sywall (1997) interpreted Li isotope variations
in well preserved carbonate shells as indicating secular variations of the oceanic
Li-cycle.
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2.3 Boron

Boron has two stable isotopes with the following abundances (Rosman and Taylor
1998).

108 19.9%
B 80.1%

The large mass difference between '°B and !'B and large chemical isotope effects
between different species (Bigeleisen 1965) make boron a very promising element
to study for isotope variations. The utility of boron isotopes as a geochemical tracer
stems from the high mobility of boron during high- and low-temperature fluid-
related processes, showing a strong affinity for any vapor phases present.

The lowest observed 8''B-values of around —30%. are for certain tourma-
lines (Chaussidon and Albarede 1992) and some non-marine evaporite sequences
(Swihart et al. 1986), whereas the most enriched ' B-reservoir is given by brines
from Australia and Israel (Dead Sea) which have 5''B-values of up to 60%o
(Vengosh et al. 1991a, b). A very characteristic feature of boron geochemistry is the
isotopic composition of ocean water with a constant 8! B-value of 39.5%o (Spivack
and Edmond 1987), which is about 50%o heavier than average continental crust value
of —10 % 2%o (Chaussidon and Albarede 1992). Isotope variations of boron in some
geological reservoirs are shown in Fig. 2.7.

Methods

In recent years solid source mass-spectrometry has provided an effective means
for B-isotope analysis. Two different methods have been developed, which have
been summarized by Swihart (1996). The first was a positive thermal ionization
technique using NazBOZr ions initially developed by McMullen et al. (1961). Sub-
sequently, Spivack and Edmond (1986) modified this technique by using CszBOZr
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ions (measurement of the masses 308 and 309). The substitution of '33Cs for 2*Na
increases the molecular mass and reduces the relative mass difference of its isotopic
species, which limits the thermally induced mass dependent isotopic fractionation.
This latter method has a precision of about £0.25%o, which is better by a fac-
tor of 10 than the NazBO;r method. Another method has been used by Chaussi-
don and Albarede (1992), who performed boron isotope determinations with an
ion-microprobe having an analytical uncertainty of about +2%o. Recently, Leceyer
et al. (2002) described the use of MC-ICP-MS for B isotopic measurements of wa-
ters, carbonates, phosphates and silicates with an external reproducibilty of 40.3%o.

As analytical techniques have been consistently improved in recent years, the
number of boron isotope studies has increased rapidly. Reviews have been given by
Barth (1993) and by Palmer and Swihart (1996). The total boron isotope variation
documented to date is about 90%o. 8''B-values are generally given relative NBS
boric acid SRM 951, which is prepared from a Searles Lake borax. This standard
has a ''B /!B ratio of 4.04558 (Palmer and Slack 1989).

pH dependence of isotope fractionations

Boron is generally bound to oxygen or hydroxyl groups in either triangular (e.g.,
BO3) or tetrahedral (e.g., B(OH)4~) coordination. The dominant isotope frac-
tionation process occurs in aqueous systems via an equilibrium exchange process
between boric acid (B(OH)3) and coexisting borate anion (B(OH)4™). At low
pH-values trigonal B(OH)3 predominates, at high pH-values tetrahedral B(OH )4~
is the primary anion. The pH-dependence of the two boron species and their re-
lated isotope fractionation is shown in Fig. 2.8 (after Hemming and Hanson 1992).
The pH dependence has been used reconstructing past ocean pH-values by mea-
suring the boron isotope composition of carbonates e.g. foraminifera. This relies
on the fact that mainly the charged species B(OH), ™ is incorporated into carbon-
ate minerals with small to insignificant fractionations (Hemming and Hanson 1992;
Sanyal et al. 2000).

Because of the inability to quantitatively separate the two species in solution, a
theoretically calculated fractionation factor of about 1.0194 at 25°C has been widely
used for py estimates (Kakihana et al. 1977). As recently shown by Zeebe (2005)
and Klochko et al. (2006) the equilibrium fractionation factor appears to be signif-
icantly larger than the theoretical value of Kakihana et al. (1977) used in paleo-pH
studies. Klochko et al. (2006), for instance, reported a fractionation factor of 1.0272.

This approach has been not only used to directly estimate the ocean pH from 5''B
of foraminifera but to estimate from the py the past atmospheric CO, concentrations
(i.e. Pearson and Palmer 1999, 2000; Pagani et al. 2005). An increase in atmospheric
CO; results in increased dissolved CO5 in ocean water, which in turn causes a re-
duction in oceanic py. A note of caution was presented by Lemarchand et al. (2000)
who suggested that boron isotope variations in foraminifera depend at least in part
on variations in the supply of riverine boron to the ocean during the geologic past.
And indeed the boron isotope composition of rivers can be extremely variable (Rose
et al. 2000; Lemarchand et al. 2002). Joachimski et al. (2005) presented evidence
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Fig. 2.8 (a) Distribution of aqueous boron species versus ph; (b) 5''B of the two dominant species
B(OH)3 and B(OH),, versus ph (after Hemming and Hanson, 1992)

that Paleozoic oceans were lower in 8'' B by up to 10%o, which supports conclusions
that boron isotope ratios cannot be used as a reliable paleo-pH indicator.

Fluid-rock interactions

Boron and — as already demonstrated — lithium are useful tracers for mass transfer
estimates in subduction zones. Both elements are mobilized by fluids and melts and
display considerable isotope fractionation during dehydration reactions. Concentra-
tions of B and Li are low in mantle derived materials, whereas they are high in sedi-
ments, altered oceanic crust and continental crust. Any input of fluid and melt from
the subducting slab into the overlying mantle has a strong impact on the isotope
composition of the mantle wedge and on magmas generated there. Experimental
studies of boron isotope fractionation between hydrous fluids, melts and minerals
have shown that !'B preferentially partitions into the fluid relative to minerals or
melts (Palmer et al. 1987; Williams et al. 2001; Wunder et al. 2005; Liebscher
et al. 2005), ranging from about 33%o for fluid—clay (Palmer et al. 1987) to about
6%o for fluid—muscovite at 700°C (Wunder et al. 2005) and to a few %o for fluid-
melt above 1,000°C (Hervig et al. 2002). The main fractionation effect seems to be
due to the change from trigonal boron in neutral pH hydrous fluid to tetrahedrally
coordinated boron in most rock forming minerals.
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Tourmaline
Tourmaline is the most abundant reservoir of boron in metamorphic and mag-
matic rocks. It is stable over a very large p—T range. Since volume diffusion of
B isotopes is insignificant in tourmalines (Nakano and Nakamura 2001), isotopic
heterogeneities of zoned tourmalines should be preserved up to at least 600°C.
Swihart and Moore (1989), Palmer and Slack (1989), Slack et al. (1993), Smith
and Yardley (1996) and Jiang and Palmer (1998) analyzed tourmaline from vari-
ous geological settings and observed a large range in 8''B-values which reflects the
different origins of boron and its high mobility during fluid related processes. By
using the SIMS method, Marschall et al. (2008) demonstrated that boron isotopes
in zoned tourmalines indeed may reflect different stages of tourmaline growth.
Because tourmaline is usually the only boron-bearing mineral of significance, re-
crystallization of tourmaline will not produce any change in its ! B-content, unless
boron is lost or gained by the system. If boron is lost from the rock, the 5! B-value
of the recrystallized tourmaline will be lower than the original value because ''B
is preferentially partitioned into the fluid phase. Meyer et al. (2008) experimentally
determined the boron partitioning between tourmaline and fluid. In the tempera-
ture range from 400 to 700°C!'B preferentially fractionates into the fluid, but to a
smaller degree than determined by Palmer et al. (1992).

2.4 Carbon

Carbon occurs in a wide variety of compounds on Earth, from reduced organic
compounds in the biosphere to oxidized inorganic compounds like CO; and car-
bonates. The broad spectrum of carbon-bearing compounds involved in low- and
high-temperature geological settings can be assessed on the basis of carbon isotope
fractionations.

Carbon has two stable isotopes (Rosman and Taylor 1998)

12C = 98.93% (reference mass for atomic weight scale)
BC=1.07%

The naturally occurring variations in carbon isotope composition are greater than
120%o, neglecting extraterrestrial materials. Heavy carbonates with 313 C-values
>+ 20%o and light methane of < — 100%0 have been reported in the literature.

2.4.1 Preparation Techniques

The gases used in '3C/'?C measurements are CO, and recently CO during pyrolysis
applications. For CO, the following preparation methods exist:

1. Carbonates are reacted with 100% phosphoric acid at temperatures between
20 and 90°C (depending on the type of carbonate) to liberate CO, (see also
“oxygen”).
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2. Organic compounds are generally oxidized at high temperatures (850-1,000°C)

in a stream of oxygen or by an oxidizing agent like CuO. In the last few years, a
new methodology to measure '3C-contents of individual compounds in complex
organic mixtures has been developed. This so-called GC—-C-MS technique em-
ploys a capillary column gas chromatograph, a combusion interface to produce
CO; and a modified conventional gas mass—spectrometer and can measure indi-
vidual carbon compounds in mixtures of sub-nanogram samples with a precision
of better than +0.5%o.

2.4.2 Standards

As the commonly used international reference standard PDB has been exhausted
for several decades, there is a need for introducing new standards. Even though
several different standards are in use today, the international standard the d-values
are referred to remains to be the PDB-standard (Table 2.2).

2.4.3 Fractionation Processes

The two main terrestrial carbon reservoirs, organic matter and sedimentary carbon-
ates, have distinctly different isotopic characteristics because of the operation of two
different reaction mechanisms:

1.

Isotope equilibrium exchange reactions within the inorganic carbon system
“atmospheric CO, — dissolved bicarbonate — solid carbonate” lead to an enrich-
ment of 13C in carbonates.

Kinetic isotope effects during photosynthesis concentrate the light isotope 12C
in the synthesized organic material.

. The inorganic carbonate system is comprised of multiple chemical species linked

by a series of equilibria:

C02<aq) +H,0 = H,CO3 2.2)
H,CO3 = H' + HCO; (2.3)
HCO; =H" +C0%~ (2.4)

Table 2.2 §'C-values of NBS-reference samples relative to PDB

NBS-18  Carbonatite —5.00
NBS-19  Marble +1.95
NBS-20  limestone —1.06
NBS-21  Graphite —28.10
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The carbonate (CO32’) ion can combine with divalent cations to form solid miner-
als, calcite and aragonite being the most common

Ca>" +CO3~ = CaCO; (2.5)
An isotope fractionation is associated with each of these equilibria, the '*C-
differences between the species depend only on temperature, although the relative
abundances of the species are strongly dependent on pH. Several authors have
reported isotope fractionation factors for the system dissolved inorganic carbon
(DIC) — gaseous CO,) (Vogel et al. 1970; Mook et al. 1974; Zhang et al. 1995). The
major problem in the experimental determination of the fractionation factor is the
separation of the dissolved carbon phases (CO2yq, HCO*", CO?") because isotope
equilibrium among these phases is reached within seconds. Figure 2.9 summarizes
carbon isotope fractionations between various geologic materials and gaseous CO;
(after Chacko et al. 2001).

The generally accepted carbon isotope equilibrium values between calcium car-
bonate and dissolved bicarbonate are derived from inorganic precipitate data of
Rubinson and Clayton (1969), Emrich et al. (1970), and Turner (1982). What is
often not adequately recognized is the fact that systematic C-isotope differences
exist between calcite and aragonite. Rubinson and Clayton (1969) and Romanek
et al. (1992) found calcite and aragonite to be 0.9 and 2.7%o enriched in 3¢ rela-
tive to bicarbonate at 25°C. Another complicating factor is that shell carbonate —
precipitated by marine organisms — is frequently not in isotopic equilibrium with
the ambient dissolved bicarbonate. Such so-called “vital” effects can be as large as
a few permil (see discussion on p. 198).
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Fig. 2.9 Carbon isotope fractionations between various geologic materials and CO; (after Chacko
et al. 2001)
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Carbon isotope fractionations under equilibrium conditions are important not
only at low-temperature, but also at high temperatures within the system carbonate,
CO,, graphite, and CHy. Of these, the calcite—graphite fractionation has become
a useful geothermometer (e.g., Valley and O’Neil 1981; Scheele and Hoefs 1992;
Kitchen and Valley 1995) (see discussion on p. 227).

2. Early reviews by O’Leary (1981) and Farquhar et al. (1989) have provided
the biochemical background of carbon isotope fractionations during photosynthesis,
with more recent accounts by Hayes (2001) and Freeman (2001).

The main isotope-discriminating steps during biological carbon fixation are (1)
the uptake and intracellular diffusion of CO; and (2) the biosynthesis of cellular
components. Such a two-step model was first proposed by Park and Epstein (1960):

COx(external) < COx(internal) — Organic molecule

From this simplified scheme, it follows that the diffusional process is reversible,
whereas the enzymatic carbon fixation is irreversible. The two-step model of carbon
fixation clearly suggests that isotope fractionation is dependent on the partial pres-
sure of COo, i.e. pCO, of the system. With an unlimited amount of CO, available to
a plant, the enzymatic fractionation will determine the isotopic difference between
the inorganic carbon source and the final bioproduct. Under these conditions, 13C
fractionations may vary from —17 to —40%o (O’Leary 1981). When the concentra-
tion of CO; is the limiting factor, the diffusion of CO, into the plant is the slow step
in the reaction and carbon isotope fractionation of the plant decreases.

Atmospheric CO; first moves through the stomata, dissolves into leaf water and
enters the outer layer of photosynthetic cells, the mesophyll cell. Mesophyll CO,
is directly converted by the enzyme ribulose biphosphate carboxylase/oxygenase
(“Rubisco™) to a six carbon molecule that is then cleaved into two molecules of
phosphoglycerate (PGA), each with three carbon atoms (plants using this photo-
synthetic pathway are therefore called Cs plants). Most PGA is recycled to make
ribulose biphosphate, but some is used to make carbohydrates. Free exchange be-
tween external and mesophyll CO, makes the carbon fixation process less efficient,
which causes the observed large '3C-depletions of C3 plants.

C4 plants incorporate CO, by the carboxylation of phosphoenolpyruvate (PEP)
via the enzyme PEP carboxylase to make the molecule oxaloacetate which has 4
carbon atoms (hence C4). The carboxylation product is transported from the outer
layer of mesophyll cells to the inner layer of bundle sheath cells, which are able
to concentrate CO;, so that most of the CO; is fixed with relatively little carbon
fractionation.

In conclusion, the main controls on carbon fractionation in plants are the action
of a particular enzyme and the “leakiness” of cells. Because mesophyll cells are
permeable and bundle sheath cells are less permeable, C3 vs C4 plants have '3C-
depletions of —18%o versus —4%o relative to atmospheric CO; (see Fig. 2.10).

Work summarized by Hayes (1993) and Hayes (2001) has demonstrated that the
final carbon isotope composition of naturally synthesized organic matter depends on
a complex set of parameters. (1) the '3C-content of the carbon source, (2) isotope
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Fig. 2.10 Histogram of 5'3C-values of C3 and Cy4 plants (after Cerling and Harris, 1999)

effects associated with the assimilation of carbon, (3) isotope effects associated with
metabolism and biosynthesis and (4) cellular carbon budgets.

Even more complex is C-isotope fractionation in aquatic plants. Factors that con-
trol the 8'°C of phytoplankton include temperature, availability of CO,(aq), light
intensity, nutrient availability, pH and physiological factors such as cell size and
growth rate (Laws et al. 1995, 1997; Bidigare et al. 1997; Popp et al. 1998 and oth-
ers). In particular the relationship between C-isotope composition of phytoplankton
and concentration of oceanic dissolved CO» has been subject of considerable debate
because of its potential as a palaco-CO, barometer (see discussion).

Since the pioneering work of Park and Epstein (1960) and Abelson and
Hoering (1961) it is well known that '3C is not uniformly distributed among the
total organic matter of plant material, but varies between carbohydrates, proteins
and lipids. The latter class of compounds is considerably depleted in '3C relative
to the other products of biosynthesis. Although the causes of these '3C-differences
are not entirely clear, kinetic isotope effects seem to be more plausible (De Niro
and Epstein 1977; Monson and Hayes 1982) than thermodynamic equilibrium ef-
fects (Galimov 1985a, 2006). The latter author argued that 13C-concentrations at
individual carbon positions within organic molecules are principally controlled by
structural factors. Approximate calculations suggested that reduced C — H bonded
positions are systematically depleted in '*C, while oxidized C — O bonded positions
are enriched in '*C. Many of the observed relationships are qualitatively consis-
tent with that concept. However, it is difficult to identify any general mechanism
by which thermodynamic factors should be able to control chemical equilibrium
within a complex organic structure. Experimental evidence presented by Monson
and Hayes (1982) suggests that kinetic effects will be dominant in most biological
systems.
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2.4.4 Interactions between the Carbonate-Carbon Reservoir
and Organic Carbon Reservoir

Variations in 13C content of some important carbon compounds are schematically
demonstrated in Fig. 2.11: The two most important carbon reservoirs on Earth, ma-
rine carbonates and the biogenic organic matter, are characterized by very different
isotopic compositions: the carbonates being isotopically heavy with a mean d13¢C-
value around 0%o and organic matter being isotopically light with a mean 313 C-value
around —25%o. For these two sedimentary carbon reservoirs an isotope mass balance
must exist such that:

813Cinput = forgslgjcorg + (1 - forg) 613Ccarb (26)

If 8 input, Sorg, Scarp can be determined for a specific geologic time, for, can be cal-
culated, where o is the fraction of organic carbon entering the sediments. It should
be noted that fo,, is defined in terms of the global mass balance and is independent
of biological productivity referring to the burial rather than the synthesis of organic
material. That means that large fore values might be a result of high productivity
and average levels of preservation of organic material or of low levels of productiv-
ity and high levels of preservation.

The §'°C-value for the input carbon cannot be measured precisely but can be
estimated with a high degree of certainty. As will be shown later, mantle carbon has
an isotopic composition around —5%o and estimates of the global average isotope
composition for crustal carbon also fall in that range. Assigning —5%o to d13¢C-
input, a modern value for fore is calculated as 0.2 or expressed as the ratio of
Corg /Cearb = 20/80. As will be shown later (Chapter) forg has obviously changed
during specific periods of the Earth’s history (e.g. Hayes et al. 1999). With each
molecule of organic carbon being buried, a mole of oxygen is released to the atmo-
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sphere. Hence, knowledge of f, is of great value in reconstructing the crustal redox
budget.

2.5 Nitrogen

More than 99% of the known nitrogen on or near the Earth’s surface is present as
atmospheric N or as dissolved N3 in the ocean. Only a minor amount is combined
with other elements, mainly C, O, and H. Nevertheless, this small part plays a de-
cisive role in the biological realm. Since nitrogen occurs in various oxidation states
and in gaseous, dissolved, and solid forms (N, NO3~, NO, ™, NH3, NH4+), itis a
highly suitable element for the search of natural variations in its isotopic composi-
tion. Schoenheimer and Rittenberg (1939) were the first to report nitrogen isotopic
variations in biological materials. Today, the range of reported 85 N-values covers
100%o, from about —50 to +50%c. However, most d-values fall within the much
narrower spread from —10 to +20%o, as described in more recent reviews of the
exogenic nitrogen cycle by Heaton (1986), Owens (1987), Peterson and Fry (1987)
and Kendall (1998).

Nitrogen consists of two stable isotopes, '*N and ''N. Atmospheric nitrogen,
given by Rosman and Taylor (1998) has the following composition:

14N : 99.63%
BN:0.37% .

N, is used for YN/!*N isotope ratio measurements, the standard is atmospheric
Nj. Various preparation procedures have been described for the different nitrogen
compounds (Bremner and Keeney 1966; Owens 1987; ? ?; Kendall and Grim 1990;
Scholten 1991 and others). In the early days of nitrogen isotope investigations the
extraction and combustion techniques potentially involved chemical treatments that
could have introduced isotopic fractionations. In recent years, simplified techniques
for combustion have come into routine use, so that a precision of 0.1-0.2%¢ for
89N determinations can be achieved. Organic nitrogen-compounds are combusted
to CO,, H,0O and N>, the product gases are separated from each other cryogenically
and the purified N is trapped on molecular sieves for mass-spectrometric analysis.

To understand the processes leading to the nitrogen isotope distribution in the
geological environment, a short discussion of the biological nitrogen cycle is re-
quired. Atmospheric nitrogen, the most abundant form of nitrogen, is the least reac-
tive species of nitrogen. It can, however, be converted to “fixed” nitrogen by bacteria
and algae, which, in turn, can be used by biota for degradation to simple nitrogen
compounds such as ammonium and nitrate. Thus, microorganisms are responsible
for all major conversions in the biological nitrogen cycle, which generally is divided
into fixation, nitrification, and denitrification. Other bacteria return nitrogen to the
atmosphere as N».
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The term fixation is used for processes that convert unreactive atmospheric N»
into reactive nitrogen such as ammonium, usually involving bacteria. Fixation com-
monly produces organic materials with 89 N-values slightly less than 0%o ranging
from —3 to 41 (Fogel and Cifuentes 1993) and occurs in the roots of plants by many
bacteria. The large amount of energy needed to break the molecular nitrogen bond
makes nitrogen fixation a very inefficient process with little associated N-isotope
fractionation.

Nitrification is a multi-step oxidation process mediated by several different au-
totrophic organisms. Nitrate is not the only product of nitrification, different reac-
tions produce various nitrogen oxides as intermediate species. Nitrification can be
described as two partial oxidation reactions, each of which proceeds separately.

Oxidation by Nitrosomas (NHs — NO,_) followed by oxidation by Nitrobac-
ter (NO,fiNO3). Because the oxidation of nitrite to nitrate is generally rapid, most
of the N-isotope fractionations is caused by the slow oxidation of ammonium by
Nitrosomas. In N-limited systems fractionations are minimal.

Denitrification (reduction of more oxidized forms to more reduced forms of ni-
trogen) is a multi-step process with various nitrogen oxides as intermediate com-
pounds resulting from biologically mediated reduction of nitrate. Denitrification
takes place in poorly aerated soil and in stratified anaerobic water bodies. Deni-
trification supposedly balances the natural fixation of nitrogen, if it did not occur,
then atmospheric nitrogen would be exhausted in less than 100 million years. Deni-
trification causes the 8'°N-values of the residual nitrate to increase exponentially as
nitrate concentrations decrease. Experimental investigations have demonstrated that
fractionation factors may change from 10 to 30%o, with the largest values obtained
under lowest reduction rates. Generally, the same factors that influence isotope frac-
tionation during bacterial sulfate reduction are also operative during bacterial deni-
trification. Table 2.3, which gives a summary of observed N-isotope fractionations,
clearly indicates the dependence of fractionations on nitrogen concentrations and

Table 2.3 Naturally observed isotope fractionation for nitrogen assimilation (after Fogel and
Cifuentes Fogel and Cifuentes 1993)

N, fixation —3to +1%o
NHZ’ assimilation

Cultures

Millimolar concentrations 0to —15%o
Micromolar concentrations —3to —27%o
Field observations

Micromolar concentrations —10%o0
NO;3 assimilation

Cultures

Millimolar concentrations 0 to —24%o
Micromolar concentrations —10%0

Field observations
Micromolar concentrations —4 to —5%o0




56 2 Isotope Fractionation Processes of Selected Elements

demonstrates, that at low nitrogen concentrations fractionations are nearly zero be-
cause virtually all the nitrogen is used.

So far, only kinetic isotope effects have been considered, but isotopic fraction-
ations associated with equilibrium exchange reactions have been demonstrated for
the common inorganic nitrogen compounds (Letolle 1980). Of special importance
in this respect is the ammonia volatilization reaction:

NH3gys < NH;faq
for which isotope fractionation factors of 1.025-1.035 have been determined
(Kirshenbaum et al. 1947; Mariotti et al. 1981). Experimental data by Nitzsche
and Stiehl (1984) indicate fractionation factors of 1.0143 at 250°C and of 1.0126
at 350°C very small "N-enrichment of about 0.1%o occurs during the solution of
atmospheric Nj in ocean water (Benson and Parker 1961).

Nitrogen isotope studies are extremely important for evaluating the source and
fate of nitrogen in the marine and terrestrial environment. 8'5N-values measured in
the water column of the ocean and in sediments depend on the many nitrogen isotope
fractionation reactions in the biological cycle. Nitrogen isotopes have been used as
a paleoceanographic proxy, because they record changes of nutrient dynamics and
ventilation that affects denitrification in the water column (e.g. Farrell et al. 1995).
This approach is based on the fact that particulate organic nitrogen depends on (1)
the isotopic composition of dissolved nitrate, which in oxygenated waters has a
8" N-value of about —6%o (in anoxic waters where denitrification occurs the 8" N-
value is significantly higher, up to 18.8%o in the tropical North Pacific; Cline and
Kaplan 1975) and on (2) isotope fractionation that occurs during nitrogen uptake by
phytoplankton. In the photic zone phytoplankton preferentially incorporates N,
which results in a corresponding *N-enrichment in the residual nitrate. The N-
isotope composition of settling organic detritus thus varies depending on the extent
of nitrogen utilization: low N contents indicate low relative utilisation, high 1N
contents indicate a high utilization.

Much of the initial organic nitrogen reaching the sediment /water interface is lost
during early diagenesis. Nevertheless the nitrogen isotope composition of sediments
is primarely determined by the source organic matter. Source studies have been un-
dertaken to trace the contribution of terrestrial organic matter to ocean water and to
sediments (i.e. Sweeney et al. 1978; Sweeney and Kaplan 1980). Such studies are
based, however, on the assumption that the I5N content remains unchanged in the
water column. Investigations by Cifuentes et al. (1989), Altabet et al. (1991), and
Montoya et al. (1991) have demonstrated that there may be rapid temporal (even on
a time scale of days) and spatial changes in the nitrogen isotope composition of the
water column due to biogeochemical processes. This complicates a clear distinc-
tion between terrestrial and marine organic matter, although marine organic matter
generally has a higher "N /!*N ratio than terrestrial organic matter.

The organic matter in sediments has a mean 8" N-value of around +7%¢
(Sweeney et al. 1978). During diagenesis biological and thermal degradation of
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the organic matter results in the formation of ammonium (NH4) which can be
incorporated for potassium in clay minerals. This nitrogen in the crystal lattice of
clay minerals and micas is mainly derived from decomposing organic matter and
thus has a very similar isotopic composition as the organic matter (Scholten 1991;
Williams et al. 1995).

During metamorphism of sediments, there is a significant loss of ammonium
during devolatilisation, which is associated with a nitrogen fractionation, leaving
behind °N residues (Haendel et al. 1986; Bebout and Fogel 1992; Jia 2006). Thus
high-grade metamorphic rocks and granites are relatively enriched in N and typ-
ically have 8'°N-values between 8 and 10%o. Sadofsky and Bebout (2000) have
examined the nitrogen isotope fractionation among coexisting micas, but could not
find any characteristic difference between biotite and white mica.

In summary, nitrogen in sediments and crustal rocks exhibits positive 319N-
values around 6%o. In contrast, mantle nitrogen extracted from MORB glasses
(Marty and Humbert 1997; Marty and Zimmermann 1999) and from diamonds
(Javoy et al. 1986; Cartigny et al. 1997) have average 89 N-values of around —5%.
These similar values for subcontinental and MORB mantle suggests a homogeneous
distribution of nitrogen isotopes in the mantle. 8" Nt-values thus are an important
tracer to distinguish mantle-derived from crustal derived nitrogen.

Many studies have shown that nitrogen isotopes can be used in environmental
studies. Fertilizer, animal wastes or sewage are the main sources of nitrate pollu-
tion in the hydrosphere. Under favorable conditions, these N-bearing compounds
can be isotopically distinguished from each other (Heaton 1986). Anthropogenic
fertilizers have 8'°N-values in the range —4 to +4%o reflecting their atmospheric
source, whereas animal waste typically has 85 N-values > 5%o. Soil-derived nitrate
and fertilizer nitrate commonly have overlapping 89 N-values. 8'°N can potentially
also be used as trophic level indicator.

Figure 2.12 gives an overview about the nitrogen isotope variations in some im-
portant reservoirs.
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2.6 Oxygen

Oxygen is the most abundant element on Earth. It occurs in gaseous, liquid and
solid compounds, most of which are thermally stable over large temperature
ranges. These facts make oxygen one of the most interesting elements in isotope
geochemistry.

Oxygen has three stable isotopes with the following abundances (Rosman and
Taylor 1998)

160:99.757%
170 : 0.038%
180:0.205%

Because of the higher abundance and the greater mass difference, the 180 /190 ratio
is normally determined, which may vary in natural samples by about 10% or in
absolute numbers from about 1:475 to 1:525.

2.6.1 Preparation Techniques

CO; is the gas generally used for mass-spectrometric analysis. More recently CO
and O, have also been used in high temperature conversion of organic material
and in laser probe preparation techniques. A wide variety of methods have been
described to liberate oxygen from the various oxygen-containing compounds.

Oxygen in silicates and oxides is usually liberated through fluorination with
F», BrFs or CIF; in nickel-tubes at 500 to 650°C (Taylor and Epstein 1962;
Clayton and Mayeda 1963; Borthwick and Harmon 1982) or by heating with a laser
(Sharp 1990). Decomposition by carbon reduction at 1,000 to 2,000°C may be suit-
able for quartz and iron oxides but not for all silicates (Clayton and Epstein 1958).
The oxygen is converted to CO, over heated graphite or diamond. Care must be
taken to ensure quantitative oxygen yields, which can be a problem in the case of
highly refractive minerals like olivine and garnet. Low yields may result in anoma-
lous 180/160 ratios, high yields are often due to excess moisture in the vacuum
extraction line.

Conventional fluorination is usually done on 10-20 mg of whole-rock powder
or minerals separated from much larger samples; the inability to analyze small
quantities means that natural heterogeneity cannot be detected by such bulk tech-
niques. Recent advances in the development of laser microprobes, first described by
Sharp (1990), have revolutionized mineral analyses. Laser techniques have both the
resolution and precision to investigate isotopic zoning within single mineral grains
and mineral inter- and overgrowths.

The standard procedure for the isotope analysis of carbonates is the reaction with
100% phosphoric acid at 25°C first described by McCrea (1950). The following
reaction equation:

MeCO; + H3PO, — MeHPO, + CO, +H,0 Q2.7)
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where Me is a divalent cation, shows that only two-thirds of the carbonate oxygen
present in the product CO, is liberated, and thus a significant isotope effect is ob-
served, which is on the order of 10%o, but varies up to a few %o depending on the
cation, the reaction temperature and the preparation procedure. The so-called acid
fractionation factor must be precisely known to obtain the oxygen isotope ratio of
the carbonate. This can be done by measuring the 8'80-value of the carbonate by
fluorination with BrFs, first described by Sharma and Clayton (1965).

Experimental details of the phosphoric acid method vary significantly among
different laboratories. The two most common varieties are the “sealed vessel” and
the “acid bath” methods. In the latter method the CO, generated is continuously
removed, while in the former it is not. Swart et al. (1991) demonstrated that the two
methods exhibit a systematic '30 difference between 0.2 and 0.4%o over the temper-
ature range 25 to 90°C. Of these the acid-bath method probably provides the more
accurate results. A further modification of this technique is referred to as the “indi-
vidual acid bath”, in which contaminations from the acid delivery system are mini-
mized. Wachter and Hayes (1985) demonstrated that careful attention must be given
to the phosphoric acid. In their experiments best results were obtained by using a
105% phosphoric acid and a reaction temperature of 75°C. This high reaction tem-
perature should not be used when attempting to discriminate between mineralogi-
cally distinct carbonates by means of differential carbonate reaction rates.

Because some carbonates like magnesite or siderite react very sluggishly at
25°C, higher reaction temperatures are necessary to extract CO, from these min-
erals. Reaction temperatures have varied up to 90 or even 150°C (Rosenbaum and
Sheppard 1986; Bottcher 1996), but there still exist considerable differences in the
fractionation factors determined by various workers. For example fractionations be-
tween aragonite and calcite remain controversial and different workers have reported
fractionations from negative to positive. Nevertheless there seems to be a general
agreement that the fractionation factor for aragonite is about 0.6%o0 higher than for
calcite (Tarutani et al. 1969; Kim and O’Neil 1997), although Grossman and Ku
(1986) have reported a value of up to 1.2%c. The dolomite-calcite fractionation may
vary depending on specific composition (Land 1980). Table 2.4 reports acid frac-
tionation factors for various carbonates.

Phosphates are first dissolved, then precipitated as silver phosphate (Crowson
et al. 1991). Ag;POy is preferred because it is non-hydroscopic and can be precip-
itated rapidly without numerous chemical purification steps (O’Neil et al. 1994).
This Ag;POy is then fluorinated (Crowson et al. 1991), reduced with C either in
a furnace (O’Neil et al. 1994) or with a laser (Wenzel et al. 2000) or pyrolyzed
(Vennemann et al. 2002). Because PO4 does not exchange oxygen with water at
room temperature (Kolodny et al. 1983), the isotopic composition of the Ag;POj is
that of the PO4 component of the natural phosphate. As summarized by Vennemann
et al. (2002) conventional fluorination remains the most precise and accurate ana-
lytical technique for Ag;POj4. Laser techniques on bulk materials have also been at-
tempted (Cerling and Sharp 1996; Kohn et al. 1996; Wenzel et al. 2000), but because
fossil phosphates invariably contain diagenetic contaminants, chemical processing
and analysis of a specific component (CO3 or POy) is ordinarily performed.
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Table 2.4 Acid fractionation factors for various carbonates determined at 25°C (modified after
Kim et al. 2007)

Mineral o Reference
Calcite 10.30 Kim et al. (2007)
Aragonite 10.63 Kim et al. (2007)
11.14 Gilg (2007)
Dolomite 11.75 Rosenbaum and Sheppard (1986)
Magnesite  10.79 (50°C)  Das Sharma et al. (2002)
Siderite 11.63 Carothers et al. (1988)
Witherite 10.57 Kim and O-Neil (1997)

Sulfates are precipitated as BaSQOy, and then reduced with carbon at 1,000°C to
produce CO;, and CO. The CO is either measured directly or converted to CO; by
electrical discharge between platinum electrodes (Longinelli and Craig 1967).
Total pyrolysis by continuous flow methods has made the analysis of sulfate
oxygen more precise and less time-consuming than the off-line methods. Bao
and Thiemens (2000) have used a CO;-laser fluorination system to liberate oxygen
from barium sulfate.

The '80/'°0 ratio of water is usually determined by equilibration of a small
amount of CO, with a surplus of water at a constant temperature. For this technique
the exact value of the fractionation for the CO, /H,O equilibrium at a given temper-
ature is of crucial importance. A number of authors have experimentally determined
this fractionation at 25°C with variable results. A value of 1.0412 was proposed at
the 1985 TAEA Consultants Group Meeting to be the best estimate.

It is also possible to quantitatively convert all water oxygen directly to CO, by
reaction with guanidine hydrochloride (Dugan et al. 1985) which has the advantage
that it is not necessary to assume a value for the HO — CO; isotope fractionation
in order to obtain the 80!0 ratio. On-line pyrolysis using TC-EA systems repre-
sents another approach (de Groot 2004).

2.6.2 Standards

Two different —scales are in use: 8'*O(VSMOW) and 8'®0(VPDB), because of
two different categories of users, who have traditionally been engaged in O-isotope
studies. The VPDB scale is used in low-temperature studies of carbonate. PDB is a
Cretaceous belemnite from the Pee Dee Formation and was the laboratory working
standard used at the university of Chicago in the early 1950°s when the paleotem-
perature scale was developed. The original supply of this standard has long been ex-
hausted, therefore secondary standards have been introduced (see Table 2.5), whose
isotopic compositions have been calibrated relative to PDB. All other oxygen iso-
tope analyses (waters, silicates, phosphates, sulfates, high-temperature carbonates)
are given relative to SMOW.
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Table 2.5 §'%0-values of commonly used O-isotope standards

Standard ~ Material PDB scale  VSMOW scale
NBS-19 Marble —-2.20 (28.64)
NBS-20  Limestone —4.14 (26.64)
NBS-18  Carbonatite ~ —23.00 (7.20)

NBS-28  Quartz ( ) 9.60

NBS-30 Biotite ( ) 5.10

GISP Water (—53.99) —24.75
( )

SLAP Water —55.50

The conversion equations of 8*O(PDB) versus 5'*0(VSMOW) and vice versa
(Coplen et al. 1983) are:

880 (VSMOW) = 1.030918'30 (PDB) +30.91

and
380 (PDB) = 0.970025'30 (VSMOW) —29.98

Table 2.5 gives the 8180-values of commonly used oxygen isotope standards on
both scales (parenthesis denote calculated values).

2.6.3 Fractionation Processes

Out of the numerous possibilities to fractionate oxygen isotopes in nature, the fol-
lowing are of special significance.

Knowledge of the oxygen isotope fractionation between liquid water and water
vapor is essential for the interpretation of the isotope composition of different water
types. Fractionation factors experimentally determined in the temperature range
from 0 to 350°C have been summarized by Horita and Wesolowski (1994). This
is shown in Fig. 2.13.

Addition of salts to water also affects isotope fractionations. The presence of
ionic salts in solution changes the local structure of water around dissolved ions.
Taube (1954) first demonstrated that the 18O/ 160 ratio of CO, equilibrated with
pure H>O decreased upon the addition of MgCl,, AlCl3 and HCI, remained more or
less unchanged for NaCl, and increased upon the addition of CaCl,. The changes
vary roughly linearly with the molality of the solute (see Fig. 2.14).

To explain this different fractionation behavior, Taube (1954) postulated different
isotope effects between the isotopic properties of water in the hydration sphere of
the cation and the remaining bulk water. The hydration sphere is highly ordered,
whereas the outer layer is poorly ordered. The relative sizes of the two layers
are dependent upon the magnitude of the electric field around the dissolved ions.
The strength of the interaction between the dissolved ion and water molecules is
also dependent upon the atomic mass of the atom to which the ion is bonded.
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Fig. 2.13 Oxygen isotope fractionation factors between liquid water and water vapour in the tem-
perature range 0 — 350°C (after Horita and Wesolowski 1994)

O’Neil and Truesdell (1991) have introduced the concept of “structure-making” and
“structure-breaking” solutes: structure makers yield more positive isotope fraction-
ations relative to pure water whereas structure breakers produce negative isotope
fractionations. Any solute that results in a positive isotope fractionation is one that
causes the solution to be more structured as is the case for ice structure, when com-
pared to solutes that lead to less structured forms, in which cation — H,O bonds are
weaker than H,O — H,O bonds.

As already treated in the “hydrogen” section, isotope fractionations, the hydra-
tion of ions may play a significant role in hydrothermal solutions and volcanic
vapors (Driesner and Seward 2000). Such isotope salt effects may change the oxy-
gen isotope fractionation between water and other phases by several permil.
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Fig. 2.14 Oxygen isotope fractionations between pure water and solutions of various ions (after
O’Neil and Truesdell 1991)

Table 2.6 Experimentally determined oxygen isotope fractionation factors relative to water for the
aqueous system CO, — H,O between 5 and 40°C according to 103 Inat = A(10°/T~2) 4+ B (Beck
et al. 2005)

A B
HCO; 2.59 1.89
co3~ 239 270

COyyq 252 1212

Of equal importance is the oxygen isotope fractionation in the CO, — H>O sys-
tem. Early work concentrated on the oxygen isotope partitioning between gaseous
CO; and water (Brennikmeijer et al. 1983). More recent work by Usdowski and
Hoefs (1993), Beck et al. (2005) and Zeebe (2007) have determined the oxygen
isotope composition of the individual carbonate species that are isotopically differ-
ent at room temperature. Table 2.6 summarizes the equations for the temperature
dependence between 5 and 40°C (Beck et al. 2005).

The fractionation (1,000 In &¢) between dissolved CO; and water at 25°C is 41.6.
dropping to 24.7 at high pH when CO32~ is the dominant species (see Fig. 2.15).
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Fig. 2.15 Oxygen isotope fractionations between dissolved inorganic carbon (DIC) and water as a
function of pH and temperatures (after Beck et al. 2005)

Table 2.7 Sequence of minerals in the order (bottom to top) of their increasing tendency to
concentrate 80

Quartz

Dolomite

K-feldspar, albite

Calcite

Na-rich plagioclase

Ca-rich plagioclase

Muscovite, paragonite, kyanite, glaucophane
Orthopyroxene, biotite

Clinopyroxene, hornblende, garnet, zircon
Olivine

Ilmenite

Magnetite, hematite

The pH dependence of the oxygen isotope composition in the carbonate-water sys-
tem has important implications in the derivation of oxygen isotope temperatures.

The oxygen isotope composition of a rock depends on the 80 contents of the
constituent minerals and the mineral proportions. Garlick (1966) and Taylor (1968)
arranged coexisting minerals according to their relative tendencies to concentrate
180. The list given in Table 2.7 has been augmented by data from Kohn and Valley
(1998a, b, ¢).

This order of decreasing '80-contents has been explained in terms of the bond-
type and strength in the crystal structure. Semi-empirical bond-type calculations
have been developed by Garlick (1966) and Savin and Lee (1988) by assuming that
oxygen in a chemical bond has similar isotopic behavior regardless of the mineral
in which the bond is located. This approach is useful for estimating fractionation
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factors. The accuracy of this approach is limited due to the assumption that the iso-
tope fractionation depends only upon the atoms to which oxygen is bonded and not
upon the structure of the mineral, which is not strictly true. By using an electrostatic
approximation to bond strength and taking into account cation mass Schiitze (1980)
developed an increment method for calculations of oxygen isotope fractionations
in silicates, which has been modified and refined by Zheng (1991, 1993a, b). Kohn
and Valley (1998a, b) determined empirically the effects of cation substitutions in
complex minerals such as amphiboles and garnets spanning a large range in chem-
ical compositions. Although isotope effects of cation exchange are generally less
than 1%o at T > 500°C, they increase considerably at lower temperatures. Thus use
of amphiboles and garnets for thermometry requires exact knowledge of chemical
compositions.

On the basis of these systematic tendencies of 30 enrichment found in na-
ture, significant temperature information can be obtained up to temperatures of
1,000°C, and even higher, if calibration curves can be worked out for the various
mineral pairs. The published literature contains many calibrations of oxygen iso-
tope geothermometers, most are determined by laboratory experiments, although
some are based on theoretical calculations.

Although much effort has been directed toward the experimental determination
of oxygen isotope fractionation factors in mineral- water systems, the use of water
as an oxygen isotope exchange medium has several disadvantages. Some miner-
als become unstable in contact with water at elevated temperatures and pressures,
leading to melting, breakdown and hydration reactions. Incongruent solubility and
ill-defined quench products may introduce additional uncertainties. Most of the dis-
advantages of water can be circumvented by using calcite as an exchange medium
(Clayton et al. 1989; Chiba et al. 1989). Mineral-mineral fractionations — determined
by these authors (Table 2.8) — give internally consistent geothermometric informa-
tion that generally is in accord with independent estimates, such as the theoretical
calibrations of Kieffer (1982).

A more recent summary has been given by Chacko et al. (2001) (see Fig. 2.16).

Many isotopic fractionations between low-temperature minerals and water have
been estimated by assuming that their temperature of formation and the isotopic
composition of the water in which they formed (for example, ocean water) are well
known. This is sometimes the only approach available in cases in which the rates of

Table 2.8 Coefficients A for silicate — pair fractionations (1,000 Inot X —Y = A/T2 10° (after
Chiba et al. 1989)

Cc Ab An Di Fo Mt

Qz 038 094 199 275 367 629

Cc 056 1.61 237 329 591
Ab 1.0s 181 273 535
An 076  1.68 4.30
Di 092 354

Fo 2.62
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Fig. 2.16 Oxygen isotope fractionations between various minerals and calcite (after Chacko
et al. 2001)

isotope exchange reactions are slow and in which minerals cannot be synthesized in
the laboratory at appropriate temperatures.

2.6.4 Fluid-Rock Interactions

Oxygen isotope ratio analysis provides a powerful tool for the study of water/rock
interaction. The geochemical effect of such an interaction between water and rock
or mineral is a shift of the oxygen isotope ratios of the rock and/or the water away
from their initial values, given that their compositions are not in equilibrium.

Detailed studies of the kinetics and mechanisms of oxygen isotope exchange be-
tween minerals and fluids show that there are three possible exchange mechanisms
(Matthews et al. 1983b, c; Giletti 1985).

1. Solution-precipitation. During a solution-precipitation process, larger grains
grow at the expense of smaller grains. Smaller grains dissolve and recrystallize
on the surface of larger grains which decreases the overall surface area and
lowers the total free energy of the system. Isotopic exchange with the fluid
occurs while material is in solution.

2. Chemical reaction. The chemical activity of one component of both fluid and
solid is so different in the two phases that a chemical reaction occurs. The break-
down of a finite portion of the original crystal and the formation of new crystals
is implied. The new crystals would form at or near isotopic equilibrium with the
fluid.
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3. Diffusion. During a diffusion process isotopic exchange takes place at the inter-
face between the crystal and the fluid with little or no change in morphology of
the reactant grains. The driving force is the random thermal motion of the atoms
within a concentration or activity gradient.

In the presence of a fluid phase, coupled dissolution — reprecipitation is known to
be a much more effective process than diffusion. This has been first demonstrated
experimentally by O’Neil and Taylor (1967) and later re-emphasized by Cole (2000)
and Fiebig and Hoefs (2002).

The first attempts to quantify isotope exchange processes between water and
rocks were made by Taylor (1974). By using a simple closed-system material bal-
ance equation these authors were able to calculate cumulative fluid/rock ratios.

8rockf - 8rocki

: 28
6HZO - (SI'OCkf - A) ( )

W/R =

where A = iock f — OH,0 1

Their equation requires adequate knowledge of both the initial (i) and final (f) iso-
topic states of the system and describes the interaction of one finite volume of rock
with a fluid. The utility of such “zero-dimensional” equations has been questioned
by Baumgartner and Rumble (1988), Blattner and Lassey (1989), Nabelek (1991),
Bowman et al. (1994) and others. Only under special conditions do one-box models
yield information on the amount of fluid that actually flowed through the rocks. If
the rock and the infiltrating fluid were not far out of isotopic equilibrium, then the
calculated fluid/rock ratios rapidly approach infinity. Therefore, the equations are
sensitive only to small fluid/rock ratios. Nevertheless, the equations can constrain
fluid sources. More sophisticated one-dimensional models like the chromatographic
or continuum mechanics models (i.e. Baumgartner and Rumble 1988) are physically
more plausible and can describe how the isotopic composition of the rock and of the
fluid change with time and space. The mathematical models are complex and are
based on partial differential equations that must be solved numerically. Examples of
fluid—rock interactions in contact metamorphic environments have been presented
by Nabelek and Labotka 1993, Bowman et al. 1994 and application to contrasting
lithologies by Bickle and Baker (1990) and Cartwright and Valley (1991).

Criss et al. (1987) and Gregory et al. (1989) developed a theoretical framework
that describes the kinetics of oxygen isotope exchange between minerals and co-
existing fluids. Figure 2.17 shows characteristic patterns in 8-9 plots for some hy-
drothermally altered granitic and gabbroic rocks. The 30 /!0 arrays displayed on
Fig. 2.17 cut across the 45° equilibrium lines at a steep angle as a result of the much
faster oxygen isotope exchange of feldspar compared to that of quartz and pyroxene.
If a low-'80 fluid such as meteoric or ocean water is involved in the exchange pro-
cess, the slopes of the disequilibrium arrays can be regarded as “isochrons” where,
with continued exchange through time the slopes become less steep and approach
the 45° equilibrium line. These “times” represent the duration of a particular hy-
drothermal event.

Figure 2.18 summarizes the naturally observed oxygen isotope variations in
important geological reservoirs.
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Fig. 2.18 5'30 values of important geological reservoirs

2.7 Magnesium

Magnesium is composed of three isotopes (Rosman and Taylor 1998)

2*Mg 78.99%

BMg 10.00%
Mg 11.01%
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Early investigations on Mg isotope variations have been limited by an uncer-
tainty of 1 to 2%o. Catanzaro and Murphy (1966) for instance concluded that
terrestrial Mg isotope variations are restricted to a few %o. The introduction
of multicollector-inductively coupled-plasma mass spectrometry (MC-ICP-MS)
increased the precision by one order of magnitude and has initiated a new search
of natural isotope variations (Galy et al. 2001, 2002). These authors obtained an
overall 4%o variation in 8°° Mg.

The oxidation state of magnesium always is two, thus it might be expected that
the range in isotope composition is small. Mg is soluble and mobile during weath-
ering, which, on the other hand, might initiate small fractionations during carbonate
precipitation and clay formation. And indeed by investigating Mg isotope fraction-
ation between speleothems and associated drip waters Galy et al. (2002) observed
a characteristic difference in both phases, which might indicate equilibrium condi-
tions. They further observed a 2-3%o enrichment in dolomites relative to limestones,
suggesting a mineralogical control on the isotope composition of carbonates.

Because of its relatively long mean residence time, ocean water has a constant
isotope composition. Corals are about 1% and foraminifera are about 4.5%o lighter
than ocean water. Thus significant Mg isotope fractionations occur during biominer-
alization of carbonate secreting organisms which is larger than for Ca isotopes (see
Section 2.11).

Tipper et al. (2006) have measured the Mg isotope composition of rivers. They
observed a total variation in 2 Mg of 2.5%o. The lithology in the drainage area seems
to be of limited significance, a major part of the variability has to be attributed to
fractionations in the weathering environment.

One of the advantages of the MC-ICPMS technique compared to the SIMS tech-
nique is the ability to measure > Mg/?>*Mg and 2¢ Mg/?* Mg ratios independently
many times smaller than the magnitude of the natural variations. By doing this
Young and Galy (2004) demonstrated that the relationship between 2> Mg/** Mg
and 2°Mg / 24 Mg are diagnostic of kinetic vs equilibrium fractionations: for equi-
librium processes the slope on a three-isotope diagram should be close to 0.521,
for kinetic processes the slope should be 0.511. Evidence for equilibrium fraction-
ation has been found for low-Mg calcite speleothems (Galy et al. 2002). Recently,
however, Buhl et al. (2007) argued that a pure equilibrium mass fractionation cannot
explain the Mg isotope data from speleothems. On the other hand biologically medi-
ated precipitates such as foraminifera (Chang et al. 2004) and dolomites of bacterial
origin (Carder et al. 2005) have a clear kinetic signature.

Galy et al. (2001) suggested that the mantle should have a homogeneous Mg iso-
tope composition. Pearson et al. (2006), however, demonstrated that olivines from
mantle xenoliths have a heterogeneous compositions with a 5% Mg range of about
4%o. These authors suggested that the differences are due to diffusion-related meta-
somatic processes.
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2.8 Silicon

Silicon has three stable isotopes with the following abundances (Rosman and Taylor
1998):
881 92.23%

2981 4.68%
308 3.09%

Because of its high abundance on Earth, silicon is in principle a very interesting ele-
ment to study for isotope variations. However, because there is no redox reaction for
silicon (silicon is always bound to oxygen), only small isotope fractionations are to
be expected in nature. Silicic acid, on the other hand, is an important nutrient in the
ocean that is required for the growth of mainly diatoms and radiolaria. The silicon
incorporation into siliceous organisms is associated with a Si isotope fractionation,
because 28Si is prefrentially removed as the organisms form biogenic silica. Early
investigations by Douthitt (1982) and more recent ones by Ding et al. (1996) ob-
served a total range of 8%Si values in the order of 6%o. This range has extended
to about 12%. with the lowest 5°°Si value of —5.7%o in siliceous cements (Basile-
Doelsch et al. 2005) and the highest of +6.1%o for rice grains (Ding et al. 2005).

Silicon isotope ratios have been generally measured by fluorination (Douthitt
1982; Ding et al. 1996). However, the method is time consuming and potentially
hazardous, therefore, more recently MC-ICP-MS techniques have been introduced
(Cardinal et al. 2003; Engstrom et al. 2006). Determinations with SIMS have been
carried out by Robert and Chaussidon (2006). Very recently, Chmeleff et al. (2008)
have shown that a UV-femtosecond laser ablation system coupled with MC-ICP-MS
gives 8%Si and 8*°Si-values with very high precision.

Igneous rocks have a rather uniform isotope composition with a rather constant
§°9Si-value of —0.3%o. In igneous rocks and minerals 5°°Si values exhibit small,
but systematic variations with 3°Si enrichment increasing with the silicon contents
of igneous rocks and minerals. The order of 3°Si enrichment is quartz, feldspar,
muscovite and biotite, which is consistent with the order of 30 enrichment. Thus
felsic igneous rocks are slightly heavier than mafic igneous rocks.

Relative to igneous rocks rivers are isotopically enriched in °Si (De la Rocha
et al. 2000a; Ding et al. 2004; Ziegler et al. 2005a, b; Basile-Doelsch et al. 2005;
Reynolds et al. 2006; Georg et al. 2006). The enrichment in 3°Si is obviously pro-
duced during weathering which preferentially releases 3Si into solution, followed
by even stronger preferential incorporation of 28Si during secondary mineral for-
mation. Thus soil-clay mineral formation is responsible for high 5%Si values of
continental surface waters and ocean water. For the Yangtze river as an example,
Ding et al. (2004) measured a 5%si range from 0.7 to 3.4%o, whereas the suspended
matter has a more constant composition from 0 to —0.7%o.

In ocean water distinct 3°Si gradients with depth exist (Georg et al. 2006): sur-
face waters are relatively rich in 3°Si whereas deep waters are more depleted in
30Si, which is due to a silicon isotope fractionation during the uptake by organisms
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Fig. 2.19 5°°Si ranges of various geologic reservoirs

in oceanic surface waters. De la Rocha et al. (1997, 1998) observed a 1%o fractiona-
tion between dissolved and biogenic silica during opal formation by marine diatoms
that does not vary with temperature nor among three species of diatoms. An increase
in opal formation by diatoms results in more positive 5%Si-values, whereas a de-
crease results in more negative 8-values. In this manner variations in 3°Si contents
of diatoms may provide information on changes of oceanic silicon cycling (De la
Rocha et al. 1998). Marine sponges fractionate silicon isotopes to a degree that is
three times larger than observed by marine diatoms (De La Rocha 2003). Figure 2.19
summarizes natural silicon isotope variations.

A wide range of 8%Si values from —0.8 to +5.0%0 have been reported for Pre-
cambrian cherts (Robert and Chaussidon 2006), much larger than for Phanerozoic
cherts. These authors observed a positive correlation of 8'%0 with §°°Si values,
which they interpreted as reflecting temperature changes in the ocean from about
70°C 3.5 Ga to about 20°C 0.8 Ga years ago.

2.9 Sulfur

Sulfur has four stable isotopes with the following abundances (Rosman and
Taylor 1998)

325 :94.93%
3$35:0.76%
38 :4.29%
3651 0.02%

Sulfur is present in nearly all natural environments. It may be a major component
in ore deposits, where sulfur is the dominant nonmetal, and as sulfates in evapor-
ites. It occurs as a minor component in igneous and metamorphic rocks, throughout
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the biosphere in organic substances, in marine waters and sediments as both sul-
fide and sulfate. These occurrences cover the whole temperature range of geological
interest. Thus, it is quite clear that sulfur is of special interest in stable isotope geo-
chemistry.

Thode et al. (1949) and Trofimov (1949) were the first to observe wide varia-
tions in the abundances of sulfur isotopes. Variations on the order of 180%¢ have
been documented with the “heaviest” sulfates having 84S-values of greater than
+120%0 (Hoefs, unpublished results), and the “lightest” sulfides having 5%*S-values
of around —65%o. Some of the naturally occurring S-isotope variations are summa-
rized in Fig. 2.20. Reviews of the isotope geochemistry of sulfur have been pub-
lished by Nielsen (1979), Ohmoto and Rye (1979), Ohmoto (1986), Ohmoto and
Goldhaber (1997), Seal et al. (2000), Canfield (2001a) and Seal (2006).

For many years the reference standard commonly referred to is sulfur from
troilite of the Canyon Diablo iron meteorite (CDT). As Beaudoin et al. (1994) have
pointed out, CDT is not homogeneous and may display variations in 3*S up to 0.4%.
Therefore a new reference scale, Vienna-CDT or V-CDT has been introduced by an
advisory committee of IAEA in 1993, recommending an artificially prepared Ag,S
(TAEA-S-1) with a 834SVCDT of —0.3%o as the new international standard reference
material.

2.9.1 Preparation Techniques

Chemical preparation of the various sulfur compounds for isotopic analysis have
been discussed by Rafter (1957), Robinson and Kusakabe (1975) among others. The
gas generally used for mass-spectrometric measurement is SO, although Puchelt
et al. (1971) and Rees (1978) describe a method using SF¢ which has some dis-
tinct advantages: it has no mass spectrometer memory effect and because fluorine
is monoisotopic, no corrections of the raw data of measured isotope ratios are nec-
essary. Comparison of 5%S-values obtained using the conventional SO, and the
laser SF¢ technique has raised serious questions about the reliability of the SO,
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correction for oxygen isobaric interferences (Beaudoin and Taylor 1994). Therefore
the SF¢ technique has been revitalized (Hu et al. 2003), demonstrating that SFg is
an ideal gas for measuring 3S /328, 3*S /328 and 3°S /328 ratios.

For SO;, pure sulfides have to be reacted with an oxidizing agent, like CuO,
Cu,0, V,0s5 or Oj. It is important to minimize the production of sulfur trioxide
since there is an isotope fractionation between SO, and SO3. Special chemical treat-
ment is necessary if pyrite is to be analyzed separately from other sulfides.

For the extraction of sulfates and total sulfur a suitable acid and reducing agent,
such as tin(II)-phosphoric acid (the “Kiba” solution of Sasaki et al. 1979) is needed.
The direct thermal reduction of sulfate to SO, has been described by Holt and
Engelkemeier (1970) and Coleman and Moore (1978). Ueda and Sakai (1984) de-
scribed a method in which sulfate and sulfide disseminated in rocks are converted
to SO, and H,S simultaneously, but analyzed separately. With the introduction of
on-line combustion methods (Giesemann et al. 1994), multistep off-line prepara-
tions can be reduced to one single preparation step, namely the combustion in an
elemental analyzer. Sample preparations have become less dependent on possibly
fractionating wet-chemical extraction steps and less time-consuming.

Microanalytical techniques such as laser microprobe (Kelley and Fallick 1990;
Crowe et al. 1990; Hu et al. 2003; Ono et al. 2006) and ion microprobe (Chaussidon
et al. 1987, 1989; Eldridge et al. 1988, 1993) have become promising tools for de-
termining sulfur isotope ratios. These techniques have several advantages over con-
ventional techniques such as high spatial resolution and the capability for “in-situ”
spot analysis. Sulfur isotopes are fractionated during ion or laser bombardment, but
fractionation effects are mineral specific and reproducible.

2.9.2 Fractionation Mechanisms

Two types of fractionation mechanisms are responsible for the naturally occurring
sulfur isotope variations:

1. Kinetic isotope effects during microbial processes. Micro-organisms have long
been known to fractionate isotopes during their sulfur metabolism, particularly
during dissimilatory sulfate reduction, which produces the largest fractionations
in the sulfur cycle

2. Various chemical exchange reactions between both sulfate and sulfides and the
different sulfides themselves

2.9.2.1 Dissimilatory Sulfate Reduction

Dissimilatory sulfate reduction is conducted by a large group of organisms (over
100 species are known so far, Canfield 2001a), that gain energy for their growth by
reducing sulfate while oxidizing organic carbon (or Hy ). Sulfate reducers are widely
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distributed in anoxic environments. They can tolerate temperatures from —1.5 to
over 100°C and salinities from fresh water to brines.

Since the early work with living cultures (Harrison and Thode 1957a, b; Kaplan
and Rittenberg 1964) it is well known that sulfate reducing bacteria produce 32S-
depleted sulfide. Despite decades of intense research the factors that determine the
magnitude of sulfur isotope fractionation during bacterial sulfate reduction are still
under debate. The magnitude of isotope fractionation depends on the rate of sulfate
reduction with the highest fractionation at low rates and the lowest fractionation at
high rates. Kaplan and Rittenberg (1964) and Habicht and Canfield (1997) suggested
that fractionations depend on the specific rate (cell ! time~!) and not so much on
absolute rates (Volume‘l time ‘1). What is clear, however, is that the rates of sul-
fate reduction are controlled by the availabilty of dissolved organic compounds.
One parameter which remains unclear is sulfate concentration. While for instance
Boudreau and Westrich (1984) argued that the concentration of sulfate becomes im-
portant at rather low concentrations (less than 15% of the seawater value), Canfield
(2001b) observed no influence of isotope fractionations on sulfate concentrations
for natural populations. Another parameter, that has been thought to be important is
temperature insofar as it regulates in natural populations the sulfate-reducing com-
munity (Briichert et al. 2001). Furthermore differences in fractionation with temper-
ature relate to differences in the specific temperature response to internal enzyme
kinetics as well as cellular properties and corresponding exchange rates of sulfate
in and out of the cell. Canfield et al. (2006) found in contrast to earlier belief high
fractionations in the low and high temperature range and the lowest fractionations
in the intermediate temperature range.

The reaction chain during anaerobic sulfate reduction has been described in
detail by Goldhaber and Kaplan (1974). In general, the rate-limiting step is the
breaking of the first S-O bond, namely the reduction of sulfate to sulfite. Pure
cultures of sulfate reducing bacteria produce sulfide depleted in 3*S by 4-46%o
(Harrison and Thode 1957a, b; Kemp and Thode 1968; McCready et al. 1974; Mc-
Cready 1975; Bolliger et al. 2001). More recently, sulfur isotope fractionations have
been determined from natural populations covering a wide spectrum of environ-
ments (from rapidly metabolizing microbial mats to slowly metabolizing coastal
sediments; Habicht and Canfield 1997, 2001; Canfield 2001a).

In marine coastal sediments typically 90% of the sulfide produced during sulfate
reduction is reoxidized (Canfield and Teske 1996). The pathways of sulfide oxida-
tion are poorly known but include oxidation to sulfate, elemental sulfur and other
intermediate compounds. Systematic studies of sulfur isotope fractionations during
sulfide oxidation are still needed, the few available data suggest that biologically
mediated oxidation of sulfide to elemental sulfur and sulfate lead to only minimal
isotope fractionation.

Naturally occurring sulfides in sediments and euxinic waters are commonly
depleted in **S by up to 70%c (Jérgensen et al. 2004), far beyond the apparent
capabilities of sulfate reducing bacteria. As has been shown above, most of the
sulfide produced by sulfate reduction in sediments is reoxidized, often via com-
pounds in which sulfur has intermediate oxidation states that do not accumulate, but
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are readily transformed and which can disproportionated by bactertia. Canfield and
Thamdrup (1994) suggested that through a repeated cycle of sulfide oxidation to
elemental sulfur and subsequent disproportionation, bacteria can generate the large
348 depletion typical of many marine sulfides. Thus the oxidative part of the sulfur
cycle may create circumstances by which sulfides become more depleted in 3*S than
would be possible with sulfate reducing bacteria alone.

However, in contrast to microbiological experiments and near-surface studies,
modelling of sulfate reduction in pore water profiles with in the ODP program has
demonstrated that natural populations are able to fractionate S-isotopes by up to
more than 70%c (Wortmann et al. 2001; Rudnicki et al. 2001). Brunner et al. (2005)
suggested that S isotope fractionations of around —70%¢ might occur under hyper-
sulfidic, substrate limited, but nonlimited supply of sulfate, conditions without the
need of alternate pathways involving the oxidative sulfur cycle.

Another factor that is of great importance for the observed sulfur isotope varia-
tions of natural sulfides is whether sulfate reduction takes place in an open or closed
system. An “open” system has an infinite reservoir of sulfate in which continuous
removal from the source produces no detectable loss of material. Typical examples
are the Black Sea and local oceanic deeps. In such cases, H,S is extremely depleted
in 3*S while consumption and change in 3*S remain negligible for the sulfate. In a
“closed” system, the preferential loss of the lighter isotope from the reservoir has a
feedback on the isotopic composition of the unreacted source material. The changes
in the 3*S-content of residual sulfate and of the H,S are modeled in Fig. 2.21, which
shows that 8**S-values of the residual sulfate steadily increase with sulfate con-
sumption (a linear relationship on the log-normal plot). The curve for the derivative
H,S is parallel to the sulfate curve at a distance which depends on the magnitude of

100
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Percent of sulfate reservoir

84S of total sulfur

0.1

Fig. 2.21 Rayleigh plot for sulphur isotopic fractionations during the reduction of sulfate in a
closed system. Assumed fractionation factor. 1.025, assumed starting composition of initial sulfate:
+10%0
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the fractionation factor. As shown in Fig. 2.21, H,S may become isotopically heav-
ier than the original sulfate when about 2/3 of the reservoir has been consumed. The
83*S-curve for “total” sulfide asymptotically approaches the initial value of the orig-
inal sulfate. It should be noted, however, that apparent “closed-system” behavior of
covarying sulfate and sulfide 53S-values might be also explained by “open-system”
differential diffusion of the different sulfur isotope species (Jgrgensen et al. 2004).

In recent years additional informations on sulfur isotope fractionation mecha-
nisms have been obtained from the analysis of the additional isotopes *3S and 3°S
(Farquhar et al. 2003; Johnston et al. 2005; Ono et al. 2006, 2007). For long it
was thought 8%S and §%°S values carry no additional information, because sulfur
isotope fractionations follow strictly mass-dependent fractionation laws. By study-
ing all sulfur isotopes with very high precision these authors could demonstrate that
bacterial sulfate reduction follows a mass-dependent relationship that is slightly dif-
ferent from that expected by equilibrium fractionations. On plots A*3S vs 8°*S mix-
ing of two sulfur reservoirs is non-linear in these coordinates (Young et al. 2002).
As a result samples with the same 8>*S-value can have different A>>S and A3S val-
ues. This opens the possibility to distinguish between different fractionation mech-
anisms and biosynthetic pathways (Ono et al. 2006, 2007). For instance, bacterial
sulfate reduction shows slightly different fractionation relationships compared to
sulfur disproportionation reactions (Johnston et al. 2005). Thus multiple sulfur iso-
tope analyses might have great potential in identifying the presence or absence of
specific metabolisms in modern environment or to have a fingerprint when a partic-
ular sulfur metabolism shows up in the geologic record.

Finally it should be mentioned that sulfate is labeled with two biogeochemical
isotope systems, sulfur and oxygen. Coupled isotope fractionations of both sulfur
and oxygen isotopes have been observed in experiments (Mizutani and Rafter 1973;
Fritz et al. 1989; Bottcher et al. 2001) and in naturally occurring sediments (Ku
et al. 1999; Aharon and Fu 2000; Wortmann et al. 2001). Brunner et al. (2005)
argued that characteristic §**5-5'%0 fractionation slopes do not exist, but depend
on cell-specific reduction rates and oxygen isotope exchange rates. Despite the ex-
tremely slow oxygen isotope exchange of sulfate with ambient water, 880 in sulfate
obviously depend on the 830 of water via an exchange of sulfite with water.

2.9.2.2 Thermochemical Reduction of Sulfate

In contrast to bacterial reduction thermochemical sulfate reduction is an abiotic pro-
cess with sulfate being reduced to sulfide under the influence of heat rather than
bacteria (Trudinger et al. 1985; Krouse et al. 1988). The crucial question, which has
been the subject of a controversial debate, is whether thermochemical sulfate reduc-
tion can proceed at temperatures as low as about 100°C, just above the limit of mi-
crobiological reduction (Trudinger et al. 1985). There is increasing evidence from
natural occurrences that the reduction of aqueous sulfates by organic compounds
can occur at temperatures as low as 100°C, given enough time for the reduction to
proceed (Krouse et al. 1988; Machel et al. 1995). S isotope fractionations during
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thermochemical reduction generally should be smaller than during bacterial sulfate
reduction. However, experiments by Kiyosu and Krouse (1990) have indicated S-
isotope fractionations of 10 to 20%o in the temperature range of 200 to 100°C.

To summarize, bacterial sulfate reduction is characterized by large and hetero-
geneous **S-depletions over very small spatial scales, whereas thermogenic sulfate
reduction leads to smaller and “more homogeneous” 3*S-depletions.

2.9.2.3 Isotope Exchange Reactions

There have been a number of theoretical and experimental determinations of sulfur
isotope fractionations between coexisting sulfide phases as a function of tempera-
ture. Theoretical studies of fractionations among sulfides have been undertaken by
Sakai (1968) and Bachinski (1969), who reported the reduced partition function
ratios and the bond strength of sulfide minerals and described the relationship of
these parameters to isotope fractionation. In a manner similar to that for oxygen
in silicates, there is a relative ordering of *S-enrichment among coexisting sulfide
minerals (Table 2.9). Considering the three most common sulfides (pyrite, sphalerite
and galena) under conditions of isotope equilibrium pyrite is always the most 3*S
enriched mineral and galena the most 3*S depleted, sphalerite displays an interme-
diate enrichment in 3*S.

The experimental determinations of sulfur isotope fractionations between var-
ious sulfides do not exhibit good agreement. The most suitable mineral pair for
temperature determination is the sphalerite—galena pair. Rye (1974) has argued that
the Czamanske and Rye (1974) fractionation curve gives the best agreement with
filling temperatures of fluid inclusions over the temperature range from 370 to
125°C. By contrast, pyrite — galena pairs do not appear to be suitable for a tem-
perature determination, because pyrite tends to precipitate over larger intervals of
ore deposition than galena, implying that these two minerals may frequently not
be contemporaneous. The equilibrium isotope fractionations for other sulfide pairs
are generally so small that they are not useful as geothermometers. Ohmoto and
Rye (1979) critically examined the available experimental data and presented a

Table 2.9 Equilibrium isotope fractionation factors of sulfides with respect to H,S. The tempera-
ture dependence is given by A/T? (after Ohmoto and Rye 1979)

Mineral Chemical A
composition

Pyrite FeS» 0.40
Sphalerite ZnS 0.10
Pyrrhotite FeS 0.10
Chalcopyrite CuFeS, —0.05
Covellite CuS —0.40
Galena PbS —0.63
Chalcosite Cu,S -0.75

Argentite Ag,S —0.80
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Fig. 2.22 Equilibrium fractionations among sulphur compounds relative to H,S (solid lines ex-
perimentally determined, dashed lines extrapolated or theoretically calculated (after Ohmoto and

Rye, 1979)

summary of what they believe to be the best S-isotope fractionation data. These
S-isotope fractionations relative to H,S are shown in Fig. 2.22.

Sulfur isotope temperatures from ore deposits often have been controversial; one
of the reasons are strong 3*S zonations in sulfide minerals that have been observed
by laser probe and ion probe measurements (McKibben and Riciputi 1998).

2.10 Chlorine

Chlorine has two stable isotopes with the following abundances (Coplen et al. 2002):

35C175.78%
31C124.22%
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Natural isotope variations in chlorine isotope ratios might be expected due to both
the mass difference between >Cl and 37Cl as well as to variations in coordination
of chlorine in the vapor, aqueous and solid phases. Schauble et al. (2003) calculated
equilibrium fractionation factors for some geochemically important species. They
showed that the magnitude of fractionations systematically varies with the oxidation
state of Cl, but also depends on the oxidation state of elements to which Cl is bound
with greater fractionations for 2+ cations than for 14 cations. Silicates are predicted
to be enriched compared to coexisting brines and organic molecules are enriched to
dissolved C1 ™.

2.10.1 Methods

Measurements of Cl-isotope abundances have been made by different techniques.
The first measurements by Hoering and Parker (1961) used gaseous chlorine in
the form of HCI and the 81 samples measured exhibited no significant variations
relative to the standard ocean chloride. In the early eighties a new technique has
been developed by Kaufmann et al. (1984), that uses methylchloride (CH3Cl). The
chloride-containing sample is precipitated as AgCl, reacted with excess methylio-
dide, and separated by gas chromatography. The total analytical precision reported
is near £0.1%0 (Long et al. 1993; Eggenkamp 1994; Sharp et al. 2007). The tech-
nique requires relatively large quantities of chlorine (>1mg), which precludes the
analysis of materials with low chlorine concentrations or which are limited in sup-
ply. Magenheim et al. (1994) described a method involving the thermal ionization
of Cs,CI™, which, as argued by Sharp et al. (2007), is very sensitive to analytical
artefacts and therefore might lead to erroneous results. d-values are generally given
relative to seawater chloride termed SMOC (Standard Mean Ocean Chloride).

2.10.2 Characteristic Features of Cl Isotope Geochemistry

Chlorine is the major anion in surface- and mantle-derived fluids. It is the most
abundant anion in hydrothermal solutions and is the dominant metal complexing
agent in ore forming environments (Banks et al. 2000). Despite its variable occur-
rence, chlorine isotope variations in natural waters commonly are small and close
to the chlorine isotope composition of the ocean. This is also true for chlorine from
fluid inclusions in hydrothermal minerals which indicate no significant differences
between different types of ore deposits such as Mississippi-Valley and Porphyry
Copper type deposits (Eastoe et al. 1989; Eastoe and Guilbert 1992).

Relatively large isotopic differences have been found in slow flowing groundwater,
where Cl-isotope fractionation is attributed to a diffusion process (Kaufmann
etal. 1984, 1986; Desaulniers et al. 1986). 3Cl depletions detected in some pore wa-
ters have been attributed to processes such as ion filtration, alteration and dehydration
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reactions and clay mineral formation (Long et al. 1993; Eggenkamp 1994; Eastoe
etal. 2001; Hesse et al. 2006). A pronounced downward depletion of 5*7Cl-values to
—4%o0 has been reported by Hesse et al. (2006). Even lower 8*7Cl-values have been
reported in pore waters from subduction-zone environments (Ransom et al. 1995;
Spivack et al. 2002). The downward depletion trend might be explained by mixing
of two fluids: shallow ocean water with a deep low *’Cl fluid of unknown origin.

Controversial results have been reported for chlorine isotopes in mantle-derived
rocks. According to Magenheim et al. (1995) 8*’Cl-values for MORB glasses show
a surprisingly large range. As postulated by Magenheim et al. (1995), character-
istic differences between mantle and crustal chlorine can be used as indicators of
the source of volatiles in chlorine-rich mafic magmas, such as the Bushveld and
Stillwater complexes (Boudreau et al. 1997; Willmore et al. 2002). For the Still-
water Complex chlorine isotopes are consistent with an influence of crustal derived
fluid, whereas for the Bushveld Complex chlorine isotopes indicate a mantle-derived
source. A similar approach has been taken by Markl et al. (1997) to trace the origin
of chlorine in the lower crust. Since 8°’Cl values of granulite facies rocks cluster
around ocean water composition, Markl et al. (1997) concluded that chlorine in the
lower crust is derived from the upper crust and therefore does not reflect degassing
of the mantle.

Recently Sharp et al. (2007) have questioned the findings of Magenheim
et al. (1995). Sharp et al. (2007) found that the large differences between man-
tle and crustal material do not exist and that the mantle and the crust have very
similar isotopic composition. A possible explanation for this apparent discrepancy
might be related to analytical artifacts of the TIMS technique (Sharp et al. 2007).
Bonifacie et al. (2008) also observed small Cl-isotope variations only in mantle
derived rocks. They demonstrated that 8¥7Cl values correlate with chlorine concen-
trations: Cl-poor basalts have low 8*7Cl values and represent the composition of
uncontaminated mantle derived magmas, whereas Cl-rich basalts are enriched in
37C1 and are contaminated by Cl-rich material such as ocean water.

Volcanic gases and associated hydrothermal waters have a large range in &¢I
values from —2 to +12%o (Barnes et al. 2006). To evaluate chlorine isotope
fractionations in volcanic systems, HCI liquid-vapor experiments performed by
Sharp (2006) yield large isotope fractionations of dilute HCl at 100°C. These
results are in contrast to liquid—vapor experiments by Liebscher et al. (2006) ob-
serving very little fractionation at 400 — 450°C. Clearly more data are needed to
resolve these discrepancies.

2.10.3 Chlorine Isotopes in the Environment

Chlorine isotope studies have been applied to understand the environmental chem-
istry of anthropogenic organic compounds, such as chlorinated organic solvents or
biphenyls. The primary goal of such studies is to identify and quantify sources and
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biodegration processes in the environment. To do this successfully chorine isotope
values should differ among compounds and manufactorers. The range of reported
8¥"Cl-values is from about —5 to +6%. with distinct signatures from different sup-
pliers (Van Warmerdam et al. 1995; Jendrzewski et al. 2001).

Perchlorate is another anthropogenic compound, which may contaminate surface
and ground waters. The occurrence of natural perchlorate is limited to extremely
dry environments, such as the Atacama desert. Large kinetic isotope effects during
microbial reduction of perchlorate have been observed by Sturchio et al. (2003) and
Ader et al. (2008), which may be used to document in-situ bioremediation.

A summary of the observed natural chlorine isotope variations is presented in
Fig. 2.23. Ransom et al. (1995) gave a natural variation range in chlorine isotope
composition of about 15%¢ with subduction zone pore waters having 8*'Cl values
as low as —8%o whereas minerals in which CI substitutes OH have §°’Cl values as
high as 7%eo.

2.11 Calcium

Calcium plays an essential role in biological processes (calcification of organisms,
formation of bones etc.). Calcium has six stable isotopes in the mass range of 40 to
48 with the following abundances (Rosman and Taylor 1998)

40Ca: 96.94%
2Ca:0.647%
$Ca:0.135%
4Ca:2.08%

46Ca: 0.004%
48Ca:0.187%
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Its wide natural distribution and the large relative mass difference suggest a large
isotope fractionation, which might be caused by mass-dependent fractionation pro-
cesses and by radiogenic growth (radioactive decay of “°K), the latter not being
discussed here. Early studies on natural isotope variations found no differences or
ambigous results. By using a double-spike technique and by using a mass-dependent
law for correction of instrumental mass fractionation Russell et al. (1978) were the
first to demonstrate that differences in the **Ca/4°Ca ratio are clearly resolvable
to a level of 0.5%0. More recent investigations by Skulan et al. (1997) and by Zhu
and MacDougall (1998) have improved the precision to about 0.1-0.15%c. These
latter authors observed Ca-isotope variations — given as 8*Ca-values — of about
5%o (see also the review by DePaolo 2004). Comparing data from different labora-
tories, complications may arise from the use of different d-definitions and from the
use of different standards. By initiating a laboratory exchange of internal standards
Eisenhauer et al. (2004) have suggested to use NIST SRM 915a as international
standard.

New insights on biomineralization may be revealed by measuring Ca isotope
variations in shell secreting organisms (e.g. Griffith et al. 2008). Two factors in-
fluence the Ca isotope composition of shells: (1) the chemistry of the solution, in
which the organisms live and (2) the process by which Ca is precipitated.

The magnitude of Ca isotope fractionation during carbonate precipitation as well
as the mechanism — either isotope equilibrium or kinetic effects — remain a mat-
ter of debate. Studies by Négler et al. (2000), Gussone et al. (2005) and Hippler
et al. (2006) reported temperature dependent Ca isotope fractionations precipitated
in natural environments or under cultured laboratory conditions with a slope of
about 0.02%o per °C. The slope is identical for aragonite and calcite with an off-
set of about 0.6%o: aragonite being isotopically lighter (8*Ca ~ 0.4%0) than cal-
cite (8**Ca &~ 1.0%0). An important question is whether the observed temperature-
dependent fractionation results solely from temperature or whether it is influenced
by temperature related changes in growth and calcification rates (Langer et al. 2007).
And as pointed out by Gussone et al. (2006) similar temperature dependencies
do not necessarily imply the same fractionation mechanism. Temperature depen-
dent fractionations; however, have not been found in all shell secreting organisms
(Lemarchand et al. 2004; Sime et al. 2005). Sime et al. (2005) analyzed 12 species of
foraminifera and found negligible temperature dependence for all 12 species. Thus,
no consensus on temperature controlled Ca isotope fractionations has been reached
(Griffith et al. 2008).

Marine biogenic carbonates are isotopically depleted in **Ca relative to present-
day seawater (Skulan et al. 1997; Zhu and MacDougall 1998). Zhu and MacDougall
have made the first attempt to investigate the global Ca cycle. They found a homo-
geneous isotope composition of the ocean, but distinct isotope differences of the
sources and sinks and suggested that the ocean is not in steady state. Since then sev-
eral other studies have investigated secular changes in the Ca isotope composition
of the ocean: De La Rocha and de Paolo (2000) and Fantle and de Paolo (2005)
for the Neogene, Steuber and Buhl (2006) for the Cretaceous; Farkas et al. (2007).
for the late Mesozoic; and Kasemann et al. (2005) for the Neoproterozoic. Model
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simulations of the Ca cycle by Farkas et al. (2007) indicated that the observed Ca
isotope variations can be produced by variable Ca input fluxes to the oceans. How-
ever, since the isotope effects that control the Ca isotope composition of marine
carbonates are not well understood, any clear indication of secular changes in the
Ca isotope composition of ocean waters must remain subject of further debate.

2.12 Chromium

Chromium has 4 stable isotopes with the following abundances (Rosman and
Taylor 1998)

0Cr 4.35%
32Cr 83.79%
3Cr9.50%
S4Cr 2.36%

Chromium exists in two oxidation states, Cr(Ill), as a cation Cr>" and Cr(VI), as
an oxyanion (CrOi_ or HCrO, ) having different chemical behaviors: Cr*t is the
dominant form in most minerals and in water under reducing conditions, whereas
Cr(VI) is stable under oxidizing conditions. These properties make Cr isotope in-
vestigations suitable to detect and quantify redox changes in different geochemical
reservoirs.

Schoenberg et al. (2008) presented the first set of Cr isotope data for rocks and
Cr(II) rich ores. Mantle derived rocks and chromite ores from layered intrusions
have a uniform >3Cr / 2Cr isotope ratio very close to the certified Cr standard NIST
SRM 979. The Cr isotope composition of hydrothermal lead chromates is substan-
tially heavier (853Cr from 0.6 to 1.0%0) than the rocks from which the chromium
was leached.

Chromium is a common anthropogenic contaminant in surface waters, there-
fore Cr isotope fractionations are of potential interest in tracking Cr®* pollution in
groundwaters. Ellis et al. (2002, 2004)) and Izbicki et al. (2008) analyzed ground-
water samples from contaminated sites and observed an increase in *Cr/32Cr ra-
tios up to 6%o during the reduction of chromate. Equilibrium fractionations between
Cr(VI) and Cr (IIT) have been estimated by Schauble et al. (2002), who predicted Cr
isotope fractionations >1%o between Cr species with different oxidation states.

2.13 Iron

Iron has 4 stable isotopes with the following abundances (Beard and Johnson 1999)

4Fe5.84%
30Fe91.76%
STRe2.12%
S8Fe0.28%
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Iron is the third most abundant element that participates in a wide range of bioti-
cally and abiotically-controlled redox processes in different geochemical low- and
high-temperature environments. Iron has a variety of important bonding partners
and ligands, forming sulfide, oxide and silicate minerals as well as complexes with
water. As is well known bacteria can use Fe during both dissimilatory and assim-
ilatory redox processes. Because of its high abundance and its prominent role in
high and low temperature processes, isotope studies of iron have received the most
attention of the transition elements. Since the first investigations on Fe isotope vari-
ations by Beard and Johnson (1999), the number of studies on Fe isotope variations
have increased exponentially. Recent reviews on Fe-isotope geochemistry have been
given by Anbar (2004a), Beard and Johnson (2004), Johnson and Beard (2006),
Dauphas and Rouxel (2006) and Anbar and Rouxel (2007). Figure 2.24 summarizes
Fe-isotope variations in important geological reservoirs.

Literature data have been presented either in the form of 3’Fe/>*Fe or as
%Fe />*Fe ratios. In the following all data are given as >°Fe/>*Fe ratios or as
8°°Fe values. 8°Fe values would be 1.5 times greater than 8°Fe values, because
only mass-dependent fractionations are expected. Fe isotope aqnalysis is highly
challenging because of interferences from *°Ar'*N+, 40Ar'®0O* and “°Ar'®OH* at
masses 54, 56 and 57 respectively. Nevertheless d-values can be measured routinely
with a precision of +0.05%o.

Theoretical studies by Polyakov (1997), Polyakov et al. (2007) and Schauble
et al. (2001) predicted Fe isotope fractionations of several %o between various iron
oxides, carbonates and sulfides from spectroscopic data, even at high temperatures.
3Fe />*Fe ratios will be usually higher in Fe** compounds than in Fe>* bearing
species. First experimental studies at magmatic temperatures were conducted by
Schiiler et al. (2007) for equilibrium isotope fractionations between iron sulfide
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(pyrrhotite) and silicate melt and by Shahar et al. (2008) for those between fayalite
and magnetite, demonstrating that Fe isotope fractionations are relatively large at
magmatic temperatures and can be used as a geothermometer. At low temperatures,
Johnson et al. (2002) presented experimental evidence for equilibrium fractionations
between Fe*" and Fe* in aqueous solutions. They observed a 2.75%o enrichment
in Fe** relative to Fe>* at 25°C which is about half of that predicted by Schauble
et al. (2001). While it is conceivable that Fe isotope equilibrium can be reached
at high temperatures, indications for equilibrium fractionations are less straightfor-
ward at much lower temperatures. Therefore kinetic fractionations might dominate
Fe isotope fractionations at low temperatures.

Igneous rocks exhibit only small variations in Fe isotope compositions (Zhu
et al. 2002; Beard and Johnson 2004; Poitrasson et al. 2004; Williams et al. 2005;
Weyer et al. 2005). Weyer et al. (2005) found that the Fe isotope composition
in mantle peridotites is slightly lower than in basalts. As suggested by Williams
et al. (2005) the relative incompatibility of ferric iron during melting might incorpo-
rate heavy iron into the melt. During magmatic differentiation the Fe isotope com-
position remains more or less constant except in the very SiO,-rich differentiates
(Beard and Johnson 2004; Poitrasson and Freydier 2005). A possible mechanism is
removal of isotopically *°Fe depleted titanomagnetite (Schiiler et al. 2008).

Under low-temperature conditions the observed natural Fe isotope variations of
around 4%o. have been attributed to a large number of processes, which can be
divided into inorganic reactions and into processes initiated by micro-organisms.
Up to 1%o fractionation can result from precipitation of Fe-containing minerals (ox-
ides, carbonates, sulfides) (Anbar and Rouxel 2007). Larger Fe isotope fraction-
ations occur during biogeochemical redox processes, which include dissimilatory
Fe(III) reduction (Beard et al. 1999; Icopini et al. 2004; Crosby et al. 2007), anaer-
obic photosynthetic Fe(II) oxidation (Croal et al. 2004), abiotic Fe (II) oxidation
(Bullen et al 2001) and sorption of aqueous Fe(Il) on Fe(IIl) hydoxides (Balci
et al. 2006). Controversy still exists whether the iron isotope variations observed
are controlled by kinetic/equilibrium factors or by abiological/microbiological frac-
tionations. This complicates the ability to use iron isotopes to identify microbio-
logical processing in the rock record (Balci et al. 2006). However, as demonstrated
by Johnson et al. (2008) microbiological reduction of Fe** produces much larger
quantities of iron with distinct 87Fe values than abiological processes.

The bulk continental crust has 8 °Fe values close to zero. Clastic sediments gen-
erally retain the zero %o value. Because of its very low concentration in the ocean,
the Fe isotope composition of ocean water so far has not been determined, which
complicates a quantification of the modern Fe isotope cycle. Hydrothermal fluids at
mid-ocean ridges and river waters have 8°°Fe values between 0 and — 1% (Fantle
and dePaolo 2004; Bergquist and Boyle 2006; Severmann et al. 2004), whereas
fluids in diagenetic systems show a significantly larger spread with a preferential
depletion in °Fe (Severmann et al. 2006). Thus, most iron isotope variations are
produced by diagenetic processes that reflect the interaction between Fe** and Fe?*
during bacterial iron and sulfate reduction. Processes dominated by sulfide forma-
tion during sulfate reduction produce high 8°Fe values for porewaters, whereas the
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opposite occurs when dissimilatory iron reduction is the major pathway (Severmann
et al. 20006).

Especially large iron isotope fractionations have been found in Proterozoic and
Archean sedimentary rocks with lithologies ranging from oxide to carbonate in
banded iron formations (BIFs) and pyrite in shales (Rouxel et al. 2005; Yamaguchi
et al. 2005). In particular BIFs have been investigated to reconstruct Fe cycling
through Archean oceans and the rise of Oy () during the Proterozoic (see dis-
cussion under 3.8.4 and Fig. 3.28). The pattern shown in Fig. 3.28 distinguishes
three stages of Fe isotope evolution, which might reflect redox changes in the Fe
cycle (Rouxel et al. 2005). The oldest samples (stage 1) are characterized by de-
pleted 8°°Fe values, whereas younger samples in stage 2 are characterized by en-
riched §°°Fe values. Interplays of the Fe-cycle with the C- and S-record might reflect
changing microbial metabolims during the Earth,s history (Johnson et al. 2008).

2.14 Copper

Copper has two stable isotopes

63Cu 69.1%
65Cu 30.9%.

Copper occurs in two oxidation states, Cu™ and Cu™ " and rarely in the form of ele-
mental copper. The major Cu-containing minerals are sulfides (chalcopyrite, bornite,
chalcosite and others), and, under oxidizing conditions, secondary copper minerals
in the form of oxides and carbonates. Copper is a nutrient element, although toxic
for all aquatic photosynthetic microorganisms. Copper may form a great variety of
complexes with very different coordinations such as square, trigonal and tetrago-
nal complexes. These properties are ideal prerequisites for relatively large isotope
fractionations.

Early work of Shields et al. (1965) has indicated a total variation of ~12%¢ with
the largest variations in low temperature secondary minerals. Somewhat smaller
differences, but still in the range of 7 to 9%o, have been observed by Maréchal
et al. (1999), Maréchal and Albarede (2002), Zhu et al. (2002), Ruiz et al. (2002),
which are larger than for Fe. Nevertheless most samples so far analyzed vary be-
tween 8% Cu values from +1 to —1%e.

Experimental investigations have demonstrated that redox reactions between Cul
and Cull species are the principal process that fractionates Cu isotopes in natural
systems (Ehrlich et al. 2004; Zhu et al. 2002). Precipitated Cul species are 3 to 5%o
lighter than dissolved Cull species during Cull reduction. Pokrovsky et al. (2008)
observed a change in sign of Cu isotope fractionations during adsorption experi-
ments from aqueous solutions depending on the kind of surface, either organic or
inorganic: on biological cell surfaces a depletion of Cu, wheras an enrichment of
%5Cu on oxy(hydr)oxide surface is observed. Although little is known about the Cu
isotope composition of ocean water, Zhu et al. (2002) suggested that Cu isotopes
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may be a tracer of Cu biochemical cycling. The latter authors reported Cu isotope
fractionations of 1.5%o during biological uptake.

Recent studies of Cu isotope variations have concentrated on Cu isotope frac-
tionations during ore formation (Larson et al. 2003; Rouxel et al. 2004; Mathur
et al. 2005; Markl et al. 2006a). The magnitude of isotope fractionation in copper
sulfides increases with secondary alteration and reworking processes. Investigations
by Markl et al. (2006) on primary and secondary copper minerals from hydrother-
mal veins have confirmed this conclusion. They showed that hydrothermal processes
do not lead to significant Cu isotope variations, but instead, low temperature redox
processes are the main cause of isotope fractionations. Thus copper isotope ratios
may be used to decipher details of natural redox processes, but cannot be used as re-
liable fingerprints for the source of copper — as suggested by Graham et al. (2004) —
because the variation caused by redox processes within a single deposit is usually
much larger than the inter-deposit variation.

2.15 Zinc

Zinc has 5 stable isotopes of mass 64, 66, 67, 68 and 70 with the following abun-
dances:

647n 48.63,
667n 27.90,
677n 4.10,
687n 18.75,
07n 0.62.

Zinc is an essential biological nutrient in the ocean where the concentration of
Zn is controlled by phytoplankton uptake and remineralization. Zn is incorporated
into carbonate shells and diatoms, therefore, Zn isotopes may have great poten-
tial for tracing nutrient cycling in seawater. John et al. (2007a) measured the iso-
tope fractionation of Zn during uptake by diatoms and demonstrated that Zn isotope
fractionations are related to the extent of biological Zn uptake. In a depth profile
of the upper 400 m of Pacific seawater, Bermin et al. (2006) observed small iso-
tope variations which they interpreted as being due to biological recycling. Surface
waters have a lighter 8%7Zn signature than deeper waters suggesting that absorption
of Zn on particle surfaces carries Zn out of surface waters (John et al. 2007a). Pichat
et al. (2003) suggested that variations in Zn isotopes in marine carbonates over the
last 175 kyr reflect changes in upwelling and nutrient availabilty. Although it has
been assumed that there is negligible fractionation between Zn in seawater and pre-
cipitated minerals, biological usage and adsorption onto particles are likely to cause
isotope fractionations (Gelabert et al. 2006).

Measurements of the °©Zn/%*Zn ratio in ores, sediments and biological materi-
als have so far yielded a small variation of about 1%0 (Maréchal et al. 1999, 2000;
Maréchal and Albarede 2002 and others). One of the main reasons for this small
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variability appears to be that Zn does not participate in any redox reaction, it always
occurs in the divalent state. Recently Wilkinson et al. (2005) extended the range
of Zn isotope variations to ~1.5%¢ by analyzing sphalerites from one ore deposit.
They interpreted the variations by postulating kinetic fractionations during rapid
sphalerite precipitation. John et al. (2008) have found relatively large Zn isotope
fractionation in hydrothermal fluids and suggested that Zn sulfide precipitation is an
important factor in causing 8°7Zn variations. By analyzing common anthropogenic
products in the environment, John et al. (2007b) showed that 8%7n values of indus-
trial products are smaller than of Zn ores demonstrating Zn isotope homogenezation
during processing and ore purification.

2.16 Germanium

Because of nearly identical ionic radii, Ge usually replaces Si in minerals, with av-
erage concentrations around 1 ppm in the earth,s crust. Thus Ge and Si have similar
chemistries, which might indicate that both elements show similarities in their iso-
tope fractionations.

Ge has five stable isotopes with the following abundances (Rosman and
Taylor 1998):

0Ge 20.84%
2Ge 27.54%
3Ge 7.73%
74Ge 36.28%
7°Ge 7.61%

Early investigations using the TIMS method were limited to an uncertainty of sev-
eral %o. Over the past few years advances have been made with the MC-ICP-MS
technique with a long term external reproducibility of 0.2-0.4%o (Rouxel et al. 2006;
Siebert et al. 2006a).

Based on a few measurements of basalts and granites Rouxel et al. (2006) con-
cluded that the bulk silicate earth has a homogeneous isotope composition. How-
ever, chemical sediments like sponges and authigenic glauconites are enriched in
8"*Ge by about 2%o.. This suggests that seawater — similar to silicon — is isotopically
enriched in "#Ge relative to the bulk earth. Ge isotopes might offer new insights into
the biogeochemistry of the past and present ocean, but more data are needed.

2.17 Selenium

Because selenium to some extent is chemically similar to sulfur, one might expect
to find some analogous fractionations of selenium isotopes in nature. Six stable
selenium isotopes are known with the following abundances (Coplen et al. 2002)
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74Se 0.89%
76Se 9.37%
77Se 7.63%
78Se 23.77%
80Se 49.61%
82S¢ 8.73%

Interest in selenium isotope studies has grown in recent years, since selenium is both
a nutrient and a toxicant and may reach significant concentrations in soils and in wa-
tersheds. Starting with work by Krouse and Thode (1962) the SeFs gas technique
used by the early workers required relatively large quantities of Se, limiting the
applications of selenium isotopes. Johnson et al. (1999) developed a double-spike
solid-source technique (spike 7*Se and ¥2Se, measure 3°Se / 76Se) that corrects for
fractionations during sample preparation and mass spectrometry, yielding an overall
reproducibility of +0.2%o. This technique brings sample requirements down to sub-
microgram levels. Even lower Se amounts (10 ng) are required for measurements
with the MC-ICP-MS technique (Rouxel et al. 2002).

Reduction of selenium oxyanions by bacteria is an important process in the geo-
chemical cycle of selenium. Selenium reduction proceeds in three steps with Se(IV)
and Se(0) species as stable intermediates (Johnson 2004). Se isotope fractionation
experiments by Herbel et al. (2000) indicate about 5%o fractionations (SOSe/ 76Se)
during selenate reduction to selenite and little or no fractionation for selenite sorp-
tion, oxidation of reduced Se in soils, or Se volatilization by algae. Johnson and
Bullen (2003) investigated Se isotope fractionations induced by inorganic reduction
of selenate by Fe(II)-Fe(III) hydroxide sulfate (“green rust”). The overall fractiona-
tion is 7.4%o, which is larger than during bacterial selenate reduction. This indicates
that the magnitude of Se isotope fractionations depends on the specific reaction
mechanism. More data are needed, but selenium isotopes should be useful tracers
for selenate and selenite reduction processes as well as selenium sources.

2.18 Molybdenum

Mo consists of 7 stable isotopes that have the following abundances:

2Mo 15.86%,
%Mo 9.12%,

Mo 15.70%,
Mo 16.50%,
Mo 9.45%,

%Mo 23.75%
10Mo0 9.62%.

Either °’Mo/?Mo or *®Mo /%Mo ratios have been reported in the literature. There-
fore care has to be taken by comparing Mo isotope values. Mo isotope data are gen-
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erally given relative to laboratory standards calibrated against ocean water (Barling
et al. 2001; Siebert et al. 2003).

Because Mo is a redox sensitive element that becomes enriched in reducing, or-
ganic rich sediments, Mo-isotope fractionations during redox processes might be
expected (Anbar 2004b; Anbar and Rouxel 2007). In oxygenated waters insoluble
MoO42~ is the dominant Mo species, which is so unreactive that Mo is the most
abundant transition metal in ocean water. Mo in ocean water should have a uniform
isotope composition as is expected from its long residence time in the ocean. Oxic
pelagic sediments and Fe-Mn crusts or nodules are depleted in **Mo by about 3%
relative to sea water (Barling et al. 2001; Siebert et al. 2003). A comparable fraction-
ation has been found in pore waters (McManus et al. 2002) and in an experimental
study of Mo absorption on Mn oxides (Barling and Anbar 2004). The actual frac-
tionation mechanism is unclear, but fractionations occur in solution, where Mo is in
the hexavalent state. Therefore oxidizing conditions in the marine environment are
a major requirement for Mo isotope fractionations (Siebert et al. 2005).

The largest isotope effect occurs during adsorption of dissolved Mo to Mn-oxide
particles, so that dissolved Mo is heavier than particle bound Mo. First observed
in oxic seawater and sediments by Barling et al. (2001), Barling and Anbar (2004)
have verified the fractionation effect in the laboratory. Smaller isotope fractionations
occur during the reduction of Mo in suboxic environments (McManus et al. 2002,
2006; Nagler et al. 2005; Poulson et al. 2006; Siebert et al. 2003, 2006b). Observed
in different sedimentary settings these effects so far have not been verified in exper-
imental studies.

Due to the preferential extraction of 9 Mo from ocean water, the ocean is the
heaviest Mo reservoir of all sources analyzed so far Fig. 2.24, consequently the Mo
isotope composition of the ocean is sensitive to redox changes and thus can be used
as a paleo-redox proxy.

Black shales that are formed in an anoxic environment such as the Black Sea
have a Mo isotope composition nearly identical to ocean water (Barling et al. 2001;
Arnold et al. 2004; Négler et al. 2005). Organic carbon rich sediments formed in
suboxic environments have variable **Mo/°>Mo ratios intermediate between those
of ocean water and oxic sediments (Siebert et al. 2003). Thus Mo isotope values in
ancient black shales can be used as a paleo-oceanographic proxy of the oxidation
state of the ocean, as for example has been discussed by Arnold et al. (2004) for the
Proterozoic. Figure 2.25 summarizes natural Mo isotope variations.

2.19 Mercury

The heaviest elements with observed fractionations of about 3 to 4%o are mercury
and thallium. This is surprising because isotope variations due to mass-dependent
fractionations should be much smaller. Schauble (2007) demonstrated that isotope
variations for the heaviest elements are controlled by nuclear volume, a fractionation
effect being negligible for the light elements. Nuclear volume fractionations may
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be about 1%o0 per mass unit for Hg and TI, declining to about 0.02%¢ for sulfur.
Nuclear volume fractionations also tend to enrich heavy isotopes in oxidized species
(Schauble 2007).

Mercury has seven stable isotopes in the mass range from '*°Hg to 2**Hg with
the following abundances (Rosman and Taylor 1998)

19%Hg 0.15
198Hg 9.97
199Hg 16.87
200Hg 23.10
20THg 13.18
202Hg 29.86
204Hg 6.87

Due to the relative uniform isotope abundances in the mass range '**Hg to 2**Hg,
several possibilities exist for the measurement of isotope ratios, thus far 8-values are
generally presented as 2°>Hg/!*®Hg ratios.

Mercury is very volatile and a highly toxic pollutant. Its mobility depends on its
different redox states. Reduction of Hg species to Hg(0) vapor is the most important
pathway for removal of Hg from aqueous systems to the atmosphere occurring by bi-
otic and abiotic reactions. Data by Smith et al. (2005), Xie et al. (2005), Foucher and
Hintelmann (2006) and Kritee et al. (2007), indicate that mercury isotopes are frac-
tionated in hydrothermal cinnabar ores, sediments and environmental samples. The
range in isotope composition (2*>Hg/!*®Hg) is likely to exceed 5%, quite large con-
sidering the relatively small mass range of less than 4%. Smith et al. (2005, 2008)
analyzed the Hg isotope composition of fossil hydrothermal systems and concluded
that ore and spring deposits have a larger range in Hg isotope composition than
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associated country rocks. They postulated that boiling of hydrothermal fluids and
separation of a Hg-bearing vapor phase are the most important Hg fractionation
processes.

Since Hg takes part in microbial processes, Hg fractionations should occur dur-
ing methylation processes. Kritee et al. (2007) suggested that Hg isotopes might
have the potential for distinguishing between different sources of mercury emis-
sions based on the magnitude of isotope fractionations. Finally, it is important to
note that abiological photochemical reduction of Hg>* and CH3Hg™ by sunlight
leads to a large mass-independent fractionation of 2°'Hg and '*”Hg (Bergquist and
Blum 2007).

2.20 Thallium

Thallium has two stable isotopes with masses 203 and 205.

20471 29.54
205711 70.48

Thallium is the heaviest element for which natural variations in isotope composition
have been reported (Rehkédmper and Halliday 1999). T1 exists in two valence states
as TI* and TI* and forms in water a variety of complexes. Furthermore it is a
highly volatile element which could induce kinetic fractionations during degassing
processes. A systematic 2%o difference between Fe—Mn crusts enriched in 2*>T1 and
seawater has been observed by Rehkdmper et al. (2002), which was interpreted to
be due to an fractionation effect during adsorption of Tl onto Fe—Mn particles. In a
later study Rehkéamper et al. (2004) found that growth layers of Fe—Mn crusts show
a systematic change in Tl isotope composition with age, which they explained by
time-dependent changes in Tl-isotope composition of seawater. No significant T1
isotope fractionations occur during weathering (Nielsen et al. 2005).

Tl isotope ratios might be also used as a tracer in mantle geochemistry (Nielsen
et al. 2006; 2007). Since most geochemical reservoirs except Fe-Mn marine sed-
iments and low temperature seawater altered basalts are more or less invariant in
Tl isotope composition, admixing af small amounts of either of these two compo-
nents into the mantle should induce small Tl isotope fractionations in mantle derived
rocks. And indeed, evidence for the presence of Fe-Mn sediments in the mantle un-
derneath Hawaii was presented by Nielsen et al. (2006).



Chapter 3
Variations of Stable Isotope Ratios in Nature

3.1 Extraterrestrial Materials

Isotope variations found in extraterrestrial materials have been classified according
to different processes such as chemical mass fractionation, nuclear reactions, nucle-
osynthesis, and/or to different sources such as interplanetary dust, solar materials,
and comet material. Various geochemical fingerprints point to the reservoir from
which the planetary sample was derived and the environment in which the sample
has formed. They can be attributed to a variety of processes, ranging from hetero-
geneities in the early solar nebula to the evolution of a planetary body. For more
details the reader is referred to reviews of Thiemens (1988), Clayton (1993, 2004),
and McKeegan and Leshin (2001).

Extraterrestrial materials consist of samples from the Moon, Mars, and a vari-
ety of smaller bodies such as asteroids and comets. These planetary samples have
been used to deduce the evolution of our solar system. A major difference be-
tween extraterrestrial and terrestrial materials is the existence of primordial isotopic
heterogeneities in the early solar system. These heterogeneities are not observed
on the Earth or on the Moon, because they have become obliterated during high-
temperature processes over geologic time. In primitive meteorites, however, compo-
nents that acquired their isotopic compositions through interaction with constituents
of the solar nebula have remained unchanged since that time.

Heterogeneities in isotope composition indicate incomplete mixing of distinct
presolar materials during formation of the solar system. Such isotope anomalies
in light elements have been documented on all scales, from microscopic zoning in
meteoritic minerals to bulk asteroids. The most extreme examples, however, have
been documented from minute presolar grains extracted from primitive meteorites
and measured with the ion microprobe. These grains of silicon carbide, graphite, and
diamond show isotope variations that may vary by one or more orders of magnitude.
They have acquired their isotope characteristics before the solar system has been
formed. The implications of these variations for models of stellar formation have
been summarized by Zinner (1998) and Hoppe and Zinner (2000). The abundance
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of presolar grains in meteorites is at the level of tens of ppm, thus the bulk isotope
composition of meteorites remains more or less unaffected.

Different types of primitive meteoritic materials of the so-called chondritic com-
position can be distinguished on the basis of their size. The term chondritic is used
here to refer to undifferentiated material having approximately solar compositions
of all except the most volatile elements. The smallest particles are micron-sized
interplanetary dust particles that contribute about 10* tons per year to the Earth.
They can be collected high in the Earth’s stratosphere by aircraft at about 20 km
altitude. Although these particles are small (typically 10 um in diameter), they have
been investigated by ion microprobe measurements (McKeegan 1987; McKeegan
et al. 1985, and others).

Deuterium and nitrogen isotope compositions of interplanetary dust materials
show enrichments that support an interstellar origin. These isotope enrichments are
the results of ionmolecule reactions that are only efficient at very low temperatures
(Rietmeijer 1998). D/H ratios of individual dust particles give dD-values ranging
from —386 to +2705%¢, which thus exceed by far those in terrestrial samples. The
hydrogen isotopic composition is heterogeneous on a scale of a few microns demon-
strating that the dust is unequilibrated. A carbonaceous phase rather than water ap-
pears to be the carrier of the D-enrichment.

In contrast to D/H and 'YN/!4N ratios, an anomalous carbon isotope composi-
tion has not been clearly demonstrated. However, three of the investigated particles
exhibit evidence for heterogeneity in their isotopic composition. With respect to
oxygen, none of the particles have large '°0 excesses of the type found in refractory
oxide and silicate phases from carbonaceous chondrites.

These results suggest that the interplanetary dust particles are among the most
primitive samples available for laboratory studies. Isotopically anomalous material
constitutes only a small fraction of the investigated particles. Thus, it appears that
the isotopic composition of these anomalous particles is not different from those
observed in minor components of primitive meteorites.

3.1.1 Chondrites

Chondrites are the oldest and most primitive rocks in the solar system. They are
hosts for interstellar grains that predate solar system formation. Most chondrites
have experienced a complex history, which includes primary formation processes
and secondary processes that include thermal metamorphism and aqueous alteration.
It is generally very difficult to distinguish between the effects of primary and sec-
ondary processes on the basis of isotope composition. Chondrites display a wide
diversity of isotopic compositions including large variations in oxygen isotopes.
The first observation, that clearly demonstrated isotopic inhomogeneities in the
early solar system, was made by Clayton et al. (1973a). Earlier, it had been thought
that all physical and chemical processes must produce mass-dependent O-isotope
fractionations yielding a straight line with a slope of 0.52 in a plot of '70/'60 vs.
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Fig. 3.1 '70- vs '80-isotope composition of Ca—Al-rich inclusions (CAI) from various chondrites
(Clayton, 1993)

180/190. This line has been called the “Terrestrial Fractionation Line”. Figure 3.1
shows that O-isotope data from miscellaneous collections of terrestrial and lunar
samples fall along the predicted mass-dependent fractionation line. However, se-
lected anhydrous high-temperature minerals in carbonaceous chondrites, notably
Allende, do not fall along the chemical fractionation trend, instead define another
trend with a slope of 1. Figure 3.1 shows oxygen isotope compositions for four
groups of meteoritic samples. The first evidence for oxygen isotope anomalies was
found in CaAl-rich refractory inclusions (CAI) in the Allende carbonaceous chon-
drite, which are composed predominantly of melilite, pyroxene, and spinel.

Bulk meteorites, the Moon and Mars lie within a few percentile above or below
the terrestrial fractionation line on a three-oxygen isotope plot (see Fig. 3.1). There-
fore, the oxygen isotope composition of the Sun has been assumed to be the same as
that of the Earth. This view has changed with the suggestion of Clayton (2002)
that the Sun and the initial composition of the solar system are '°O-rich com-
parable to the most '°O-rich composition of CAls (870 &~ —50;8"80 ~ —50%0).
According to this model, Solar System rocks had become poor in '°O due to UV
self-shielding of CO, the most abundant oxygen containing molecule in the solar
system. Oxygen released by the UV dissociation of CO then form together with
other components of the solar system solid minerals with mass-independent oxygen
isotope compositions.

Different nebular isotopic reservoirs must have existed, since there are distinct
differences in bulk meteoritic O-isotope composition. The carbonaceous chondrites
display the widest range in oxygen isotope composition of any meteorite group
(Clayton and Mayeda 1999). The evolution of these meteorites can be interpreted
as a progression of interactions between dust and gas components in the solar neb-
ula followed by solid/fluid interactions within parent bodies. Young et al. (1999)
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have shown that reactions between rock and water inside a carbonaceous chondrite
parent body could have produced groups of different carbonaceous chondrite types
that explain the diversity in isotope composition.

Yurimoto et al. (2008) have summarized the oxygen isotope composition of
the chondrite components (refractory inclusions, chondrules, and matrix) and con-
cluded that O-isotope variations within a chondrite are typically larger than O-
isotope variations among bulk chondrites. The question remains as to where, when,
and how the isotopic anomalies were originally produced (Thiemens 1988). Even
without full understanding of the causes of isotope variations in meteorites, oxygen
isotopes are very useful in classifying meteorites and in relating meteorites to their
precursor asteroids and planets (Clayton 2004). Oxygen isotope signatures have
confirmed that eucrites, diogenites, howardites, and mesosiderites originate from
one single parent body probably derived from the asteroid 4 Vesta, as shergottites,
nakhlites, and chassignites come from another (Clayton and Mayeda 1996). Main
group pallasites represent intermixed core-mantle material from a single disrupted
asteroid with no equivalent known (Greenwood et al. 2006).

In addition to oxygen isotopes, the volatile elements H, C, N, and S also show
extremely large variations in isotope composition in meteorites. In recent years,
most investigations have concentrated on the analyses of individual components
with more and more sophisticated analytical techniques.

3.1.1.1 Hydrogen

D/H ratios in carbonaceous chondrites may hint on the origin of water on Earth.
Robert (2001) suggested that since the contribution of cometary water to terrestrial
water should be less than 10%, most of the water on Earth should derive from a
meteoritic source.

The D/H ratio of the sun is essentially zero: all the primordial deuterium origi-
nally present has been converted into *He during thermonuclear reactions. Analysis
of primitive meteorites is the next best approach of estimating the hydrogen isotope
composition of the solar system.

In carbonaceous chondrites, hydrogen is bound in hydrated minerals and in or-
ganic matter. Bulk D/H ratios give a relatively homogeneous composition with a
mean dD-value of —100%o (Robert et al. 2000). This relatively homogeneous com-
position masks the very heterogeneous distribution of individual components. Con-
siderable efforts have been undertaken to analyze D/H ratios of the different com-
pounds (Robert et al. 1978; Kolodny et al. 1980; Robert and Epstein 1982; Becker
and Epstein 1982; Yang and Epstein 1984; Kerridge 1983; Kerridge et al. 1987,
Halbout et al. 1990; Krishnamurthy et al. 1992). Hydrogen in organic matter reveals
a dD-variation from —500 to +6,000%0 whereas water in silicates gives a varia-
tion from —400 to +3,700%0 (Deloule and Robert 1995; Deloule et al. 1998). Most
strikingly, almost the entire range is observed on the scale of single chondrules when
traverses are performed (Deloule and Robert 1995).
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Two mechanisms have been proposed to account for the deuterium enrichment:
(1) for organic molecules, high D/H ratios can be explained by ion molecule re-
actions that occur in interstellar space and (2) for the phyllosilicates the enrich-
ment can be produced via isotope exchange between water and hydrogen (Robert
et al. 2000).

Eiler and Kitchen (2004) have re-evaluated the hydrogen isotope composition
of water-rich carbonaceous chondrites by stepped-heating analysis of very small
amounts of separated water-rich materials. Their special aim has been to deduce
the origin of the water with which the meteorites have reacted. They observed a
decrease in 8D with increasing extent of aqueous alteration from 0%o (least altered,
most volatile rich) to —200%o (most altered, least volatile rich).

3.1.1.2 Carbon

Besides the bulk carbon isotopic composition, the various carbon phases occurring
in carbonaceous chondrites (kerogen, carbonates, graphite, diamond, and silicon
carbide) have been individually analyzed. The 8'3C-values of the total carbon fall
into a narrow range, whereas 83 C-values for different carbon compounds in single
meteorites show extremely different '3C-contents. Figure 3.2 shows one such exam-
ple, the Murray meteorite after Ming et al. (1989). Of special interest are the minute
grains of silicon carbide and graphite in primitive carbonaceous chondrites, which
obviously carry the chemical signature of the pre-solar environment (Ott 1993). The
SiC grains, present at a level of a few ppm, have a wide range in silicon and carbon
isotope composition, with accompanying nitrogen also being isotopically highly
variable. The 2C / 3 ratio ranges from 2 to 2,500, whereas it is 89 for the bulk
Earth. According to Ott (1993), the SiC grains can be regarded as “star dust”, prob-
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Fig. 3.2 Different carbon compounds in primitive meteorites. Species classified as interstellar on
the basis of C-isotopes are shaded. Only a minor fraction of organic carbon is interstellar. (after
Ming et al. 1989)
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ably from carbon stars that existed long before our solar system. Amari et al. (1993)
presented ion microprobe data of individual micrometer-sized graphite grains in the
Murchison meteorite that also has large deviations from values typical for the solar
system. These authors interpreted the isotope variability as indicating at least three
different types of stellar sources.

Of special interest is the analysis of meteoritic organic matter, because this may
provide information about the origin of prebiotic organic matter in the early so-
lar system. Two hypotheses have dominated the debate over formation mechanisms
for the organic matter (1) formation by a Fischer-Tropsch-type process (the synthe-
sis of hydrocarbons from carbon monoxide and hydrogen) promoted by catalytic
mineral grains and (2) formation by Miller-Urey-type reactions (the production of
organic compounds by radiation or electric discharge) in an atmosphere in contact
with an aqueous phase. However, the isotopic variability exhibited by the volatile
elements in different phases in carbonaceous chondrites is not readily compatible
with abiotic syntheses. Either complex variants of these reactions must be invoked,
or totally different types of reactions need to be considered. 813 C-values reported
for amino acids in the Murchison meteorite vary between +23 and +44%o (Epstein
et al. 1987). Engel et al. (1990) analyzed individual amino acids in the Murchison
meteorite and also confirmed strong '3C enrichment. Of particular importance is the
discovery of a distinct 8'3C difference between D- and L-alanine, which suggests
that optically active forms of material were present in the early solar system.

3.1.1.3 Nitrogen

The nitrogen isotopes '“N and PN are synthesized in two different astrophysical
processes: 4N during hydrostatic hydrogen burning and >N during explosive hy-
drogen and helium burning (Prombo and Clayton 1985). Thus, it can be expected
that nitrogen should be isotopically heterogeneous in interstellar matter. What
was considered by Kaplan (1975) to be a wide range of 8'5N-values in mete-
orites has continuously expanded over the years (Kung and Clayton 1978; Robert
and Epstein 1982; Lewis et al. 1983; Prombo and Clayton 1985; Grady and
Pillinger 1990, 1993). In general, chondrites have whole rock nitrogen isotope
values of 0 + 50%o. However, some chondrites have 8-values up to 850%o (Grady
and Pillinger 1990). Traces of interstellar graphite grains even show larger varia-
tions (Amari et al. 1993). The large I>N-enrichment in bulk meteorites relative to
the protosolar gas requires the existence of especially enriched '>N-compounds and
cannot be explained by isotope fractionation processes in planetary environments.

3.1.1.4 Sulfur

There are many sulfur components in meteorites which may occur in all pos-
sible valence states (—2 to +6). Troilite is the most abundant sulfur compound
of iron meteorites and has a relatively constant S-isotope composition (recall
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that troilite from the Canyon Diablo iron meteorite is the international sulfur
standard, 1i.e. 53*S-value = 0%0). Carbonaceous chondrites contain sulfur of all
valence states: sulfates, sulfides, elemental sulfur, and complex organic sulfur-
containing molecules. Monster et al. (1965), Kaplan and Hulston (1966) and Gao
and Thiemens (1993a, b) separated the various sulfur components and demonstrated
that sulfides are characterized by the highest 5*S-values, whereas sulfates have the
lowest 8°*S-values, just the opposite from what is generally observed in terrestrial
samples. This is strong evidence against any microbiological activity and instead fa-
vors a kinetic isotope fractionation in a sulfur-water reaction (Monster et al. 1965).
The largest internal isotope fractionation (7%o) is found in the Orgueil carbonaceous
chondrite (Gao and Thiemens 1993a). Orgueil and Murchison have internal isotopic
variations between different specimens, which may indicate that sulfur isotope het-
erogeneity existed in meteorite parent bodies. Since sulfur has four stable isotopes,
measurements of more than two isotopes may provide some insights on nuclear
processes and may help in identifying genetic relationships between meteorites in a
similar way to oxygen isotopes. Early measurements by Hulston and Thode (1965)
and Kaplan and Hulston (1966), and later ones by Gao and Thiemens (1993a, b),
did not indicate any nuclear isotope anomaly. However, small 33S enrichment was
identified for monosulfides in ureilites (Farquhar et al. 2000b).

3.1.2 Evolved Extraterrestrial Materials

Evolved extraterrestrial materials are generally igneous rocks, which according to
their thermal history can be discussed analogously to terrestrial samples. To this cat-
egory belong planetary bodies, differentiated asteroids, and achondritic meteorites.

3.1.2.1 The Moon

The Moon is now ubiquitously viewed as the product of a collision between the
early Earth and a Mars-size protoplanet. To test whether the impactor has introduced
isotopic heterogeneity as a consequence of collision, Wiechert et al. (2001) have
searched for small isotope variations by measuring high-precision '°0, 170, and
180 abundances in lunar samples. The three oxygen isotopes, however, provide no
evidence of isotopic heterogeneity and suggest that the proto-Earth and the impactor
planet formed from an identical mixture of components.

Since the early days of the Apollo missions, it is well known that the oxy-
gen isotope composition of the common lunar igneous minerals is very constant,
with very little variation from one sampled locality to another (Onuma et al. 1970;
Clayton et al. 1973b). This constancy implies that the lunar interior should have
a 8'80-value of about 5.5%o, essentially identical to terrestrial mantle rocks. The
fractionations observed among coexisting minerals indicate temperatures of crystal-
lization of about 1,000°C or higher, similar to values observed in terrestrial basalts
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(Onuma et al. 1970). By comparison with other terrestrial rocks, the range of ob-
served 8'80-values is very narrow. For instance, terrestrial plagioclase exhibits an
O-isotope variation which is at least ten times greater than that for all lunar rocks
(Taylor 1968). This difference may be attributed to the much greater role of low-
temperature processes in the evolution of the Earth’s crust and to the presence of
water on the Earth.

The most notable feature of the sulfur isotope geochemistry of lunar rocks is the
uniformity of 5**S-values and their proximity to the Canyon Diablo standard. The
range of published 8%*S-values is between —2 to +2.5%o. However, as noted by Des
Marais (1983), the actual range is likely to be considerably narrower than 4.5%o
due to systematic discrepancies either between laboratories or between analytical
procedures. The very small variation in sulfur isotope composition supports the idea
that the very low oxygen fugacities on the Moon prevent the formation of SO, or
sulfates, thus eliminate exchange reactions between oxidized and reduced sulfur
species.

As further shown by Des Marais (1983) nitrogen and carbon abundances are
extremely low in lunar rocks. Des Marais presented compelling evidence that all lu-
nar rocks are contaminated by complex carbon compounds during sample handling.
This carbon, which is released at relatively low combustion temperatures, exhibits
low 8'3C-values, whereas the carbon liberated at higher temperatures has higher
13C/12C ratios. Another complication for the determination of the indigenous iso-
tope ratios of lunar carbon and nitrogen arises from spallation effects, which results
from the interaction of cosmic ray particles with the lunar surface. These spallation
effects lead to an increase in '3C and "N, the extent depending upon cosmic ray
exposure ages of the rocks. Enrichments of the heavy isotopes on the surfaces of the
lunar fines are most probably due to the influence of the solar wind. Detailed inter-
pretation of their isotopic variations is difficult due to both the lack of knowledge
of the isotopic composition of the solar wind and uncertainties of the mechanisms
for trapping. Kerridge (1983) demonstrated that nitrogen trapped in lunar surface
rocks consists of at least two components differing in release characteristics during
experimental heating and isotopic composition: the low-temperature component is
consistent with solar wind nitrogen, whereas the high-temperature component con-
sists of solar energetic particles.

3.1.2.2 Mars

In the late 1970s and early 1980s, it was realized that differentiated meteorites
referred to as the SNC (Shergottites, Nakhlites, Chassignites) group were sam-
ples from Mars (McSween et al. 1979; Bogard and Johnson 1983, besides others).
This conclusion is based on young crystallization ages compared to that of other
meteorites and compositions of trapped volatiles that match those of the martian
atmosphere.

SNC-meteorites have an average 5'80-value of 4.3%0, which is distinctly lower
than the 5.5%o value for the Earth-Moon system (Clayton and Mayeda 1996; Franchi
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Fig. 3.3 Three oxygen isotope plot of lunar and Martian rocks and HED meteorites supposed to
be fragnments of asteroid Vesta (after Wiechert et al. 2003)

et al. 1999). Small '80-variations among the different SNC-meteorites result pri-
marily from different modal abundances of the major minerals. On a three-isotope
plot the 870 offset between Mars and Earth is 0.3%o (see Fig. 3.3). In this con-
nection, it is interesting to note that the so-called HED (howardites, eucrites, and
diogenites) meteorites, possibly reflecting material from the asteroid Vesta, have an
oxygen isotope composition of 3.3%o (Clayton and Mayeda 1996). The §'’ O-offset
to the Earth is about —0.3%o (Fig. 3.3). These differences in O-isotope composition
among the terrestrial planets must reflect differences in the raw material from which
the planets were formed.

Volatiles, especially water, on Mars are of special relevance to reveal the geo-
logical and geochemical evolution of the planet. The hydrogen isotope composition
of the present day Martian atmosphere is enriched by a factor of 5 relative to ter-
restrial ocean water with a dD-value of 4+4,000%0. This enrichment is thought to
result from preferential loss of H relative to D from the Martian atmosphere over
time (Owen et al. 1988). Ion microprobe studies of amphibole, biotite, and apatite
in SNC meteorites by Watson et al. (1994) and stepwise heating studies by Leshin
et al. (1996) reported large variations in 8D-values. These authors observed that wa-
ter in the samples originated from two sources: a terrestrial contaminant released
largely at low temperatures and an extraterrestrial component at high temperatures
showing extreme D-enrichments. Boctor et al. (2003) observed D-rich water in all
minerals analyzed — including nominally anhydrous minerals — but also found low
dD-values, consistent with a more Earth-like composition and concluded no single
process can explain the large range in D/H ratios. Instead they suggested that the
dD-values are affected by three reservoirs and mechanisms: a magmatic water com-
ponent, devolatilization by impact melting and terrestrial contamination.

As is the case for hydrogen, carbon isotope signatures in Martian meteorites
present evidence for different carbon reservoirs. Wright et al. (1990) and Ro-
manek et al. (1994) distinguished three carbon compounds: one component released
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at temperatures below ~500°C, mostly derived from terrestrial contamination, a
second component, released between 400 and 700°C in heating experiments or by
reaction with acid, originates mostly from breakdown of carbonates and gives d3c-
values up to +40%o and the third component, released at temperatures above 700°C,
has 8'3C-values between —20 and —30%o reflecting the isotope composition of mag-
matic carbon on Mars.

Carbonates in Martian meteorites have been especially well studied due to the hy-
pothesis that they might indicate past life on Mars (McKay et al. 1996). Understand-
ing the conditions of formation of the carbonates is thus crucial to the whole debate.
Despite extensive chemical and mineralogical studies, the environment of carbonate
formation has remained unclear. 8'30-values of the carbonates are highly variable
ranging from about 5% to 25%0 depending on different investigators and the carbon-
ate investigated (Romanek et al. 1994; Valley et al. 1997; Leshin et al. 1998). In situ
C-isotope analysis by Niles et al. (2005) gave highly zoned 813 C-values from ~+ 30
to +60%o consistent with a derivation from the Martian atmosphere and suggesting
abiotic formation.

McKay et al. (1996) furthermore suggested on the basis of morphology that tiny
sulfide grains inside the carbonates may have formed by sulfate-reducing bacteria.
5%*S-values of sulfides range from 2.0 to 7.3%o (Greenwood et al. 1997), which
is similar to values from terrestrial basalts and probably not the result of bacterial
reduction of sulfate.

The isotopic results are therefore not in favor of a microbiological activity on
Mars, but the discussion will certainly continue on this exciting topic.

Further evidence about a nonbiogenic origin of Martian carbonates (and even
less abundant sulfates) has been presented by Farquhar et al. (1998) and Farquhar
and Thiemens (2000). By measuring 5'70- and 8'%0-values Farquhar et al. (1998)
observed an 7O anomaly in the carbonates relative to the silicates which they in-
terpreted as being produced by the photochemical decomposition of ozone just as
in the Earth’s stratosphere. The atmospheric oxygen isotope composition was sub-
sequently transferred to carbonate minerals by CO,—-H;0O exchange. This finding
suggests that carbonates (and sulfates) are derived from atmosphere/regolith inter-
actions on Mars. Similar interactions have also been determined for sulfur isotopes
in Martian meteorites (Farquhar et al. 2000a). Photolysis experiments with SO, and
H5S can produce the observed S-isotope compositions and provide a mechanism for
abiogenic 3*S fractionations on Mars. Thus, large S isotope fractionations are also
not necessarily indicative of biological activity on Mars.

3.1.2.3 Venus

The mass spectrometer on the Pioneer mission in 1978 measured the atmospheric
composition relative to CO,, the dominant atmospheric constituent. The 3¢ / 12¢
and '80/160 ratios were observed to be close to the Earth value, whereas the
SN /14N ratio is within 20% of that of the Earth (Hoffman et al. 1979). One of the
major problems related to the origin and evolution of Venus is that of its “missing
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water”. There is no liquid water on the surface of Venus today and the water vapor
content in the atmosphere is probably not more than 220 ppm (Hoffman et al. 1979).
This means that either Venus was formed from a material very poor in water or what-
ever water that was originally present has disappeared, possibly as the result of es-
cape of hydrogen into space. And indeed Donahue et al. (1982) measured a 100-fold
enrichment of deuterium relative to the Earth, which is consistent with such an out-
gassing process. The magnitude of this process is, however, difficult to understand.

3.2 The Isotopic Composition of the Earth’s Upper Mantle

Considerable geochemical and isotopic evidence has accumulated supporting the
concept that many parts of the mantle have experienced a complex history of par-
tial melting, melt emplacement, crystallization, recrystallization, deformation, and
metasomatism. A result of this complex history is that the mantle is chemically and
isotopically heterogeneous.

Heterogeneities in stable isotopes are difficult to detect, because stable isotope
ratios are affected by the various partial melting-crystal fractionation processes that
are governed by temperature-dependent fractionation factors between residual crys-
tals and partial melt and between cumulate crystals and residual liquid. Unlike ra-
diogenic isotopes, stable isotopes are also fractionated by low temperature surface
processes. Therefore, they offer a potentially important means by which recycled
crustal material can be distinguished from intra-mantle fractionation processes.

0, H, C, S, and N isotope compositions of mantle-derived rocks are substantially
more variable than expected from the small fractionations at high temperatures. The
most plausible process that may result in variable isotope ratios in the mantle is
the input of subducted oceanic crust, and less frequent of continental crust, into
some portions of the mantle. Because different parts of subducted slabs have differ-
ent isotopic compositions, the released fluids may also differ in the O, H, C, and S
isotope composition. In this context, the process of mantle metasomatism is of spe-
cial significance. Metasomatic fluids rich in Fe3+, Ti, K, LREE, P, and other large
ion lithophile (LIL) elements tend to react with peridotite mantle and form sec-
ondary micas, amphiboles and other accessory minerals. The origin of metasomatic
fluids is likely to be either (1) exsolved fluids from an ascending magma or (2) flu-
ids or melts derived from subducted, hydrothermally altered crust and its overlying
sediments.

With respect to the volatile behavior during partial melting, it should be noted
that volatiles will be enriched in the melt and depleted in the parent material. During
ascent of melts, volatiles will be degassed preferentially, and this degassing will be
accompanied by isotopic fractionation (see discussion in Sect. 3.4).

Sources of information about the isotopic composition of the upper portion of the
lithospheric mantle come from the direct analysis of unaltered ultramafic xenoliths
brought rapidly to the surface in explosive volcanic vents. Due to rapid transport,
these peridotite nodules are in many cases chemically fresh and considered by most
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workers to be the best samples available from the mantle. The other primary source
of information is from basalts, which represents partial melts of the mantle. The
problem with basalts is that they do not necessarily represent the mantle compo-
sition because partial melting processes may have caused an isotopic fractionation
relative to the precursor material. Partial melting of peridotites would result in the
preferential melting of CaAl-rich minerals leaving behind refractory residues domi-
nated by olivine and orthopyroxene which may differ slightly in the isotopic compo-
sition from the original materials. Also, basaltic melts may interact with the crustal
lithosphere through which the magmas pass on their way to the Earth’s surface. The
following section will focus on ultramafic xenoliths, the isotopic characteristics of
basalts is discussed in Sect. 3.3.

3.2.1 Oxygen

The 8'0-value of the bulk Earth is constrained by the composition of lunar basalts
and bulk chondritic meteorites to be close to 6%o. Insight into the detailed oxy-
gen isotope composition of the subcontinental lithospheric mantle has mostly come
from the analysis of peridotitic xenoliths entrained in alkali basalts and kimberlites.
The first oxygen isotope studies of such ultramafic nodules by Kyser et al. (1981,
1982) created much debate (e.g., Gregory and Taylor 1986; Kyser et al. 1986).
The Kyser et al. data showed that clinopyroxene and orthopyroxene had similar
and rather constant 8'%0-values around 5.5%0, whereas olivine exhibited a much
broader variation with 8'80-values extending from 4.5 to 7.2%o. Oxygen isotope
fractionations between clinopyroxene and olivine (Acpx—o1) Were suggested to vary
from —1.4 to +1.2%o, implying that these phases are not in isotopic equilibrium at
mantle temperatures. Gregory and Taylor (1986) suggested that the fractionations in
the peridotite xenoliths analyzed by Kyser et al. (1981, 1982) arose through open-
system exchange with fluids having variable oxygen isotope compositions and with
olivine exchanging '®0 more rapidly than pyroxene.

It should be recognized, however, that olivine is a very refractory mineral and,
as a result, quantitative reaction yields are generally not achieved, when analyzed
by conventional fluorination techniques. Mattey et al. (1994) analyzed 76 samples
of olivine in spinel-, garnet- and diamond-facies peridotites using laser fluorina-
tion techniques and observed an almost invariant O-isotope composition around
5.2%o. Assuming modal proportions of olivine, orthopyroxene, and clinopyroxene
of 50:40:10, the calculated bulk mantle §'*O-value would be 5.5%. Such a man-
tle source could generate liquids, depending on melting temperatures and degree of
partial melting, with O-isotope ratios equivalent to those observed for MORB and
many ocean island basalts.

Although the results of Mattey et al. (1994) have been confirmed by Chazot
et al. (1997), it should be kept in mind that most of the mantle peridotites that have
been analyzed for 5'%0 originate from the continental lithospheric mantle and not
from the mantle as a whole. More recently, there have been several indications that
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the O-isotope composition of mantle xenoliths from certain exotic settings can be
more variable than indicated by Mattey et al. (1994) and Chazot et al. (1997). Zhang
et al. (2000) and Deines and Haggerty (2000) documented complex disequilibrium
features among peridotitic minerals and intra-crystalline isotope zonations, which
presumably result from metasomatic fluid/rock interactions.

Eclogite xenoliths from diamondiferous kimberlites constitute an important suite
of xenoliths because they may represent the deepest samples of the continental litho-
spheric mantle. Eclogite xenoliths have the most diverse range in 8'80-values be-
tween 2.2 and 7.9%0 (McGregor and Manton 1986; Ongley et al. 1987). This large
range of '80-variation indicates that the oxygen isotope composition of the con-
tinental lithosphere varies substantially, at least in any region where eclogite sur-
vives and is the most compelling evidence that some nodules represent metamorphic
equivalents of hydrothermally altered oceanic crust.

3.2.2 Hydrogen

The origin of the water on Earth is a controversial topic with very different schools
of thought. One view postulates that water was delivered to Earth from exogeneous
sources such as comets and/or meteorites, the other holds that the Earth’s water has
an indigeneous origin (Drake and Righter 2002). Delivery of water from comets
and meteorites can be evaluated in the light of their D/H ratios, suggesting that
comets and meteorites cannot be major sources of water on Earth. The origin of
water on Earth can be best explained by an indigeneous source, indicating that the
Earth accreted at least in part from hydrous materials, which are not represented by
known meteorite classes (Drake and Righter 2002).

In this connection, the concept of “juvenile water” has to be introduced, which
has influenced thinking in various fields of igneous petrology and ore genesis.
Juvenile water is defined as water that originates from degassing of the mantle and
that has never been part of the surficial hydrologic cycle. The analysis of OH-bearing
minerals such as micas and amphiboles of deep-seated origin has been considered
to be a source of information for juvenile water (e.g. Sheppard and Epstein 1970).
Because knowledge about fractionation factors is limited and temperatures of final
isotope equilibration between the minerals and water not known, calculations of the
H-isotope composition of water in equilibrium with the mantle is rather crude.

Figure 3.4 gives 8D-data on phlogopites and amphiboles, indicating that the hy-
drogen isotope composition of mantle water should lie in general between —80
and —50%o, the range first proposed by Sheppard and Epstein (1970) and subse-
quently supported by several other authors. Also shown in Fig. 3.4 are analyses
for a considerable number of phlogopites and amphiboles which have dD-values
higher than —50%oc. Such elevated dD-values may indicate that water from sub-
ducted oceanic crust has played a role in the genesis of these minerals. Similar con-
clusions have been reached as a result of the analysis of water of submarine basalts
from the Mariana arc (Poreda 1985) and from estimates of the original 8D-values in
boninites from Bonin Island (Dobson and O’Neil 1987).
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Water in the mantle is found in different states: as a fluid especially near sub-
duction zones, as a hydrous phase and as a hydroxyl point defect in nominally
anhydrous minerals. dD-values between —90 and —110%0 have been obtained by
Bell and Thinger (2000) analyzing nominally anhydrous mantle minerals (garnet,
pyroxene) containing trace quantities of OH. Nominally anhydrous minerals from
mantle xenoliths are the most D-depleted of all mantle materials with dD-values
50%o lower than MORB (O’Leary et al. 2005). This difference may either imply
that these minerals represent an isotopically distinct mantle reservoir or that the
samples analyzed have exchanged hydrogen during or after their ascent from the
mantle (meteoric/water interaction?).

Similarly, complex results have been obtained from ion probe measurements
of amphiboles on the scale of a few tens of microns with a precision not better
than +10%o (Deloule et al. 1991; Harford and Sparks 2001). Samples analyzed
included ultramafic xenoliths and megacrysts of various localities, e.g., andesites
from Soufriere volcano. Some of the investigated amphiboles show a marked in-
ternal crystal heterogeneity, a satisfactory explanation for this has still to be found.
Given the rapid diffusion of hydrogen in most minerals, large D/H gradients within
individual mantle amphiboles should be homogenenized on short time scales under
mantle conditions. The existence of heterogeneities imposes significant time con-
straints on mantle metasomatism and/or on uplift rates of the sampled material.
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3.2.3 Carbon

The presence of carbon in the upper mantle has been well documented through
several observations: CO» is a significant constituent in volcanic gases associated
with basaltic eruptions with the dominant flux at mid-ocean ridges. The eruption
of carbonatite and kimberlite rocks further testifies to the storage of CO; in the
upper mantle. Additionally, the presence of diamond and graphite in kimberlites,
peridotite, and eclogite xenoliths reflects a wide range of mantle redox conditions,
suggesting that carbon is related to a number of different processes in the mantle.

The isotopic composition of mantle carbon varies by more than 30%o (see
Fig. 3.2). To what extent this wide range is a result of mantle fractionation processes,
the relict of accretional heterogeneities, or a product of recycling of crustal carbon
is still unanswered. In 1953, Craig noted that diamonds exhibited a range of d3c-
values which clustered around —5%o. Subsequent investigations which included
carbonatites (e.g., Deines 1989) and kimberlites (e.g., Deines and Gold 1973) indi-
cated similar 613C—values, which led to the concept that mantle carbon is relatively
constant in C-isotopic composition, with 8'3C-values between —7 and —5%o. Dur-
ing the formation of a carbonatite magma, carbon is concentrated in the melt and is
almost quantitatively extracted from its source reservoir. Since the carbon content of
the mantle is low, the high carbon concentration of carbonatite melts requires extrac-
tion over volumes up to 10,000 times higher than the volume of a carbonatite magma
(Deines 1989). Thus, the mean 8'>C-value of a carbonatite magma should represent
the average carbon isotope composition of a relatively large volume of the mantle.

The C-isotope distribution of diamonds is in total contrast to that for carbon-
atites. As more and more data for diamonds became available (Deines et al. 1984,
Galimov 1985b; Cartigny 2005, and others) (at present more than 4,000 C-isotope
data; Cartigny 2005), the range of C-isotope variation broadened to more than 40%o.
(from —38 to +5%o (Galimov 1991; Kirkley et al. 1991; Cartigny 2005). The large
13C variability is not random but restricted to certain genetic classes: Common
“peridotitic diamonds” (diamonds associated with peridotitic xenoliths) have less
variable carbon isotope compositions than “eclogitic diamonds”, which span the
entire range of 13C/ 12C variations (see Fig. 3.5; Cartigny 2005). Current debate
centers on whether the more extreme values are characteristic of the mantle source
regions or whether they have resulted from isotope fractionation processes linked to
diamond formation.

While some workers have argued that the variations are the result of high-
temperature isotope fractionation processes within the mantle (Deines 1980; Gal-
imov 1991), others consider that peridotitic diamonds have formed from primi-
tive carbon, whereas eclogitic diamonds have resulted from recycling of organic
carbon (e.g., Kirkley et al. 1991). Recent ion probe measurements by Farquhar
et al. (2002) on sulfide inclusions in diamonds from the Orapa kimberlite have
yielded anamolous A*3S-values in 4 out of 26 investigated diamonds. This confirms
the conclusion that at least the sulfur in some diamonds derives from the surface.
Spatially resolved analyses of individual diamonds by SIMS measurements first de-
scribed by Harte and Otter (1992) and later by others have been summarized by
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Fig. 3.5 Carbon isotope variations of diamonds (modified after Cartigny 2005)

Hauri et al. (2002). The latter authors have shown 8'3C variations of about 10%. and
more than 20%0 in 8'°N which are associated with cathodoluminescence-imaged
growth zones. Although the origin of these large variations is still unclear, they
point to complex growth histories of diamonds.

3.2.4 Nitrogen

Because of the inert nature of nitrogen, it might be expected that the nitrogen iso-
topic composition of the mantle would be similar to that of the atmosphere. This is,
however, not the case. Diamonds provide the most important source of information
about mantle nitrogen, because nitrogen is their main trace component. Nitrogen
isotopes have been measured in over 700 diamond samples with 8'°N-values from
—+13 to —23%o (Hauri et al. 2002). Despite this broad distribution, the majority range
beween —2 and —8%o (Javoy et al. 1986; Boyd et al. 1992; Boyd and Pillinger 1994,
Cartigny et al. 1997,1998). A similar range in 85 N-values has been obtained by
Marty and Humbert (1997) and Marty and Zimmermann (1999) for nitrogen trapped
in MORB and OIB glasses (see Fig. 3.6). These negative -values clearly indicate
that the mantle contains nonatmospheric nitrogen. Surprisingly, positive 3-values of
about +3%o have been found in deep mantle material sampled by mantle plumes
which may suggest that recycling of oceanic crust may account for heavy nitrogen
in the deep mantle (Dauphas and Marty 1999).
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Fig. 3.6 Nitrogen isotope variations in mantle-derived materials (modified after Marty and
Zimmermann, 1999)

3.2.5 Sulfur

Sulfur occurs in a variety of forms in the mantle, the major sulfur phase is monosul-
fide solid solution between Fe, Ni, and Cu. Recent ion microprobe measurements
on sulfide inclusions from megacrysts and pyroxenite xenoliths from alkali basalts
and kimberlites and in diamonds gave 8%*S-values from —11 to +14%o (Chaussidon
et al. 1987, 1989; Eldridge et al. 1991). Sulfur isotope variations within diamonds
exhibit the same characteristics as previously described for carbon: i.e., eclogitic
diamonds are much more variable than peridotitic diamonds.

Interesting differences in sulfur isotope compositions are observed when com-
paring high-S peridotitic tectonites with low-S peridotite xenoliths (Fig. 3.7). Tec-
tonites from the Pyrenees predominantly have negative 53S-values of around —5%o,
whereas low-S xenoliths from Mongolia have largely positive 5*S-values of up to
+7%o. Tonov et al. (1992) determined sulfur contents and isotopic compositions in
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some 90 garnet and spinel lherzolites from six regions in southern Siberia and Mon-
golia for which the range of 8°*S-values is from —7 to +7%o. Ionov et al. (1992)
concluded that low sulfur concentrations (<50 ppm) and largely positive 8-
values predominate in the lithospheric continental mantle worldwide. S-isotope
compositions typical of MORB (8%*S: 0-1%0) may be produced by melting of mod-
erately depleted lherzolites. Primary melts with positive 5*S-values may be gen-
erated from mantle peridotites with larger degrees of depletion and/or from rocks
metasomatized by subduction-related fluids.

3.2.6 Lithium and Boron

Since lithium and boron isotope fractionations mainly occur during low temperature
processes, Li and B isotopes may provide a robust tracer of surface material that is
recycled to the mantle (Elliott et al. 2004). Heterogeneous distribution of subducted
oceanic and continental crust in the mantle will thus result in variations in Li and
B isotope ratios. Furthermore, dehydration processes active in subduction zones ap-
pear to be of crucial importance in the control of Li and B isotope composition of
different parts of the mantle. For the upper mantle as a whole Jeffcoate et al. (2007)
gave an estimated 8’ Li-value of 3.5%.

Seitz et al. (2004), Magna et al. (2006) and Jeffcoate et al. (2007) reported sig-
nificant Li isotope fractionation among mantle minerals. Olivines are about 1.5%o
lighter than coexisting orthopyroxenes, clinopyroxenes and phlogopites are in con-
trast highly variable, which might indicate isotope disequilibrium. In situ SIMS
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analyses show Li isotope zonations in peridotite minerals. Jeffcoate et al. (2007)
report a 40%o variation in a single orthopyroxene crystal from San Carlos, which is
attributed to diffusive fractionation during ascent and cooling.

Since boron concentrations in mantle minerals are exceedingly low, boron iso-
tope analysis of mantle minerals are very restricted. On the basis of a boron budget
between mantle and crust, Chaussidon and Marty (1995) concluded that the primi-
tive mantle had a §''B-value of — 10+ 2%o. For MORB Spivack and Edmond (1987)
and Chaussidon and Marty (1995) reported a 5'!'B-value of around —4%. Higher
and lower 8''B-values observed in some ocean island basalts should be due to
crustal assimilation (Tanaka and Nakamura 2005).

3.3 Magmatic Rocks

On the basis of their high temperature of formation, it could be expected that mag-
matic rocks exhibit relatively small differences in isotopic composition. However,
as a result of secondary alteration processes and the fact, that magmas can have a
crustal and a mantle origin, the variation observed in isotopic composition of mag-
matic rocks can actually be quite large.

Provided an igneous rock has not been affected by subsolidus isotope exchange
or hydrothermal alteration, its isotope composition will be determined by:

The isotope composition of the source region in which the magma was generated
The temperature of magma generation and crystallization

The mineralogical composition of the rock

The evolutionary history of the magma including processes of isotope exchange,
assimilation of country rocks, magma mixing, etc

b

In the following sections, which concentrate on '80/!®0O measurements, some of
these points are discussed in more detail (see also Taylor 1968, 1986; Taylor and
Sheppard 1986).

3.3.1 Fractional Crystallization

Because fractionation factors between melt and solid are small at magmatic tem-
peratures, fractional crystallization is expected to play only a minor role in influ-
encing the oxygen isotopic composition of magmatic rocks. Matsuhisa (1979), for
example, reported that 8'80-values increased by approximately 1%o from basalt to
dacite within a lava sequence from Japan. Muehlenbachs and Byerly (1982) ana-
lyzed an extremely differentiated suite of volcanic rocks at the Galapagos spread-
ing center and showed that 90% fractionation only enriched the residual melt by
about 1.2%c. On Ascension Island Sheppard and Harris (1985) measured a differ-
ence of nearly 1%o in a volcanic suite ranging from basalt to obsidian. Furthermore,
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modeling closed-system crystal fractionation, an '0-enrichment of about 0.4%o per
10 wt% increase in SiO, content can be predicted.

3.3.2 Differences between Volcanic and Plutonic Rocks

Systematic differences in O-isotope composition are observed between fine-grained,
rapidly quenched volcanic rocks and their coarse-grained plutonic equivalents
(Taylor 1968; Anderson et al. 1971). Fractionations among minerals in plutonic
mafic rocks are on average about twice as great as for the corresponding fractiona-
tions observed in equivalent extrusive mafic rocks. This difference may result from
retrograde exchange between minerals or post-crystallization exchange reactions of
the plutonic rocks with a fluid phase. This interpretation is supported by the fact
that basaltic and gabbroic rocks from the lunar surface yield the same “isotopic
temperatures” corresponding to their initial temperatures of crystallization. Due to
the absence of water on the Moon, no retrograde exchange took place.

3.3.3 Low-Temperature Alteration Processes

Because of their high glass contents and very fine grain size, volcanic rocks are very
susceptible to low-temperature processes such as hydration and weathering, which
are characterized by large '80-enrichment effects in the altered rocks.

In general, it is probable that Tertiary and older volcanic rocks will exhibit
O-isotope compositions that have been modified to higher '*0/'%0 ratios from
their primary state to some extent (Taylor 1968; Muehlenbachs and Clayton 1972;
Cerling et al. 1985; Harmon et al. 1987). Although there is no way to ascertain the
magnitude of these '80-enrichments on a sample by sample basis, a crude estimate
can be made by determining the water (and carbon dioxide) content and “correcting”
to what are considered primary values of the suite of rocks to be analyzed (Taylor
et al. 1984; Harmon et al. 1987). The primary water content of a magma is diffi-
cult to estimate, however, but it is generally accepted that primary basaltic magmas
should not contain more than 1 wt % water. Thus, any water content >1% could be
of secondary origin and the 8'80-value for such samples should be corrected before
such '80-measurements are to be used for primary, magmatic interpretations.

3.3.4 Assimilation of Crustal Rocks

Because the various surface and crustal environments are characterized by differ-
ent and distinctive isotope compositions, stable isotopes provide a powerful tool for
discriminating between the relative role of mantle and crust in magma genesis. This
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is especially true when stable isotopes are considered together with radiogenic iso-
topes, because variations within these independent isotopic systems may arise from
unrelated geologic causes. For instance, a mantle melt that has been affected by con-
tamination processes within the upper crust will exhibit increases in '30/'°0 and
87Sr/80Sr ratios that correlate with an increase in SiO, and decrease in Sr content. In
contrast, a mantle melt, which evolves only through differentiation unaccompanied
by interaction with crustal material, will have an O-isotope composition that mainly
reflects that of its source region, independent of variations in chemical composition.
In this latter case, correlated stable and radiogenic isotope variations would be an in-
dication of variable crustal contamination of the source region (i.e., crustal material
that has been recycled into the mantle via subduction).

Modeling by Taylor (1980) and James (1981) has demonstrated that it is pos-
sible to distinguish between the effects of source contamination as well as crustal
contamination. Magma mixing and source contamination are two-component mix-
ing processes which obey two-component hyperbolic mixing relations, whereas
crustal contamination is a three-component mixing process, involving the magma,
the crustal contaminant, and the cumulates, that results in more complex mixing
trajectories on an oxygen—radiogenic isotope plot.

3.3.5 Basaltic Rocks from Different Tectonic Settings

Harmon and Hoefs (1995) have assembled a database consisting of 2,855 O-isotope
analyses of Neogene volcanic rocks worldwide. They observed a 5%o variation in
the 8'80-values of fresh basalts and glasses, which they have taken as evidence of
significant oxygen isotope heterogeneities in the mantle sources of the basalts. This
is documented in Fig. 3.8, which plots 5'30-values vs. Mg-numbers (Harmon and
Hoefs 1995).

The usage of whole rock data has, however, its ambiguities. Estimates of original
magmatic 8'80-values is best achieved through analysis of unaltered phenocrysts
within rocks. Laser-based extraction methods on small amounts of separated mineral
phases have documented subtle, but resolvable differences among different types of
basaltic lavas (Eiler et al. 1996, 2000; Dorendorf et al. 2000; Cooper et al. 2004;
Bindeman et al. 2004, 2005, and others).

MORB has a rather uniform O-isotope composition of all basalt types (5.5 +
0.2%o0) and can be used as a reference against which basalts erupted in other tec-
tonic settings can be compared. By performing high precision laser isotope analyses
on MORB glasses from the North Atlantic, Cooper et al. (2004) observed a 5'%0-
variation range of about 0.5%o, which is larger than originally thought by Harmon
and Hoefs (1995). '80 variations correlate with geochemical parameters of man-
tle enrichment such as high 3Sr/%Sr and low '**Nd/!*Nd ratios. According to
Cooper et al. (2004) the enriched material reflects subducted altered dehydrated
oceanic crust.
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Fig. 3.8 Plot of 8180 values vs Mg numbers for oceanic basalts (filled circles) and continental
basalts (open circles). The shaded field denotes the +£26 range of a MORB mean value of +5.7%o,
the clear vertical field denotes the range for primary basaltic partial melts in equilibrium with a
peridotitic source (Harmon and Hoefs, 1995)

The largest variability in oxygen isotope composition has been found in sub-
duction related basalts. Bindeman et al. (2005) observed a 5'%0 range in olivine
phenocrysts between 4.9 and 6.8%0. Oxygen isotope variations in arc-related lavas
can constrain the contributions of subducted sediments and fluids to the sub-arc
mantle assuming the 830 of the subducted component is known (Eiler et al. 2000;
Dorendorf et al. 2000). These authors demonstrated that crustal assimilation or
a contribution of oceanic sediments is negligible (<1-2%). Instead, the observed
180-enrichment in olivines and clinopyroxenes may result from exchange with high
1830 fluids derived from subducted altered oceanic crust.

Continental basalts tend to be enriched in '80 relative to oceanic basalts and
exhibit considerably more variability in O-isotope composition, a feature attributed
to interaction with '80-enriched continental crust during magma ascent (Harmon
and Hoefs 1995; Baker et al. 2000).
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3.3.6 Ocean Water/Basaltic Crust Interactions

Information about the O-isotope character of the oceanic crust comes from
DSDP/ODP drilling sites and from studies of ophiolite complexes, which pre-
sumably represent pieces of ancient oceanic crust. Primary, unaltered oceanic crust
has §'0-values close to MORB (8'%0:5.7%0). Two types of alteration can be
distinguished within the oceanic lithosphere: at low temperatures weathering may
markedly enrich the groundmass of basalts in 80, but does not affect phenocrysts.
The extent of this low-temperature alteration correlates with the water content: the
higher the water content, the higher the 5'80-values (e.g., Alt et al. 1986). At tem-
peratures in excess of about 300°C hydrothermal circulation beneath the mid-ocean
ridges leads to a high-temperature water/rock interaction in which deeper parts of
the oceanic crust become depleted in 80 by 1-2%o. Similar findings have been re-
ported from ophiolite complexes, the most cited example is that of Oman (Gregory
and Taylor 1981). Maximum 30 contents occur in the uppermost part of the pillow
lava sequence and decrease through the sheeted dike complex. Below the base of
the dike complex down to the Moho, 8'80-values are lower than typical mantle
values by about 1—2%o.

Thus, separate levels of the oceanic crust are simultaneously enriched and de-
pleted in '30 relative to “normal” mantle values because of reaction with sea
water at different temperatures. Muehlenbachs and Clayton (1976) and Gregory and
Taylor (1981) concluded that the 80 enrichments are balanced by the 80 deple-
tions which acts like a buffer for the oxygen isotope composition of ocean water.

Recently, Gao et al. (2006) evaluated the existing database and concluded that
apparent differences in mass-weighed 3'80-values exist among profiles through
the recent and the fossil oceanic crust depending on differences in spreading rates.
Oceanic crust formed under fast spreading ridges usually have depleted or balanced
8'80-values, whereas oceanic crust formed under slow spreading ridges is charac-
terized by enriched 8'80-values. This difference might be due to different depths of
sea water penetration in fast and slow spreading ridges.

3.3.7 Granitic Rocks

On the basis of '80/!°0 ratios, Taylor (1977, 1978) subdivided granitic rocks into
three groups: (1) normal '80-granitic rocks with 8'80-values between 6 and 10%o,
(2) high '80-granitic rocks with 8'80-values >10%o and (3) low 180-granitic rocks
with 8'80-values <6%e. Although this is a somewhat arbitrary grouping, it never-
theless turns out to be a useful geochemical classification.

Many granitic plutonic rocks throughout the world have relatively uniform '80-
contents with 8'®0-values between 6 and 10%o. Granitoids at the low '80 end of
the normal group have been described from oceanic island — arc areas where con-
tinental crust is absent (e.g., Chivas et al. 1982). Such plutons are considered to be
entirely mantle-derived. Granites at the high end of the normal '80-group may have
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formed by partial melting of crust that contained both a sedimentary and a mag-
matic fraction. It is interesting to note that many of the normal '8O-granites are of
Precambrian age and that metasediments of this age quite often have 8'80-values
below 10%0 (Longstaffe and Schwarcz 1977).

Granitic rocks with 8'30-values higher than 10%o require derivation from some
type of '80-enriched sedimentary or metasedimentary protolith. For instance, such
high 8'80-values are observed in many Hercynian granites of western Europe
(Hoefs and Emmermann 1983), in Damaran granites of Africa (Haack et al. 1982)
and in granites from the Himalayas of Central Asia (Blattner et al. 1983). All these
granites are easily attributed to anatexis within a heterogeneous crustal source, con-
taining a large metasedimentary component.

Granitic rocks with 8'80-values lower than 6%o cannot be derived by any
known differentiation process from basaltic magmas. Excluding those low 'O gran-
ites which have exchanged with '®0 depleted meteoric—hydrothermal fluids un-
der subsolidus conditions, a few primary low 80 granitoids have been observed
(Taylor 1987). These granites obviously inherited their 8O depletion while still pre-
dominantly liquid, prior to cooling and crystallization. Such low '®0O magmas may
be formed by remelting of hydrothermally altered country rocks or by large-scale
assimilation of such material in a rift-zone tectonic setting.

3.3.7.1 Oxygen Isotopes in Zircon

Recent advances in combining in situ measurements of radiogenic and stable iso-
topes in zircons allow a better understanding of the petrogenesis of granites and the
evolution of the continental crust (Hawkesworth and Kemp 2006). Nonmetamict
zircons preserve their 8'80-value from the time of crystallization because of their
refractory and robust nature (Valley 2003). Magmas in equilibrium with the man-
tle crystallize zircon that have a narrow range in 8'180-values of 5.3 +0.3%.. '80-
variations toward higher values result if the parental magma incorporates higher
180 material (supracrustal rocks through melting or assimilation). Zircons with
8'80-values lower than 5.3%o have been found in A-type granites (Wei et al. 2008)
indicating that the zircons originate from low 80 magmas. O-isotope ratios in zir-
cons thus can be used to discriminate between new mantle derived crust and crust
that has been reworked.

Analyses of the oxygen isotope composition of zircons that have been dated may
provide a record of growth and maturation of the crust. Valley et al. (2005) have
analyzed 1,200 dated zircons representing the whole spectrum of geologic ages.
Uniformly low 8'80-values are found in the first half of Earth history, but much
more varied values are observed in younger rocks. In contrast to the Archean, '80-
values during the Proterozoic gradually increase possibly indicating a maturation of
the crust (see Fig. 3.9). After 1.5 Ga high 8'80-values above 8% reflect gradual
changes in the composition of sediments and the rate and style of recycling of
surface-derived material into magmas (Valley et al. 2005).
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Fig. 3.9 Histograms of 5'30-values for igneous zircons ((a) Archean, (b) Proterozoic and
(¢) Phanerozoic) (after Valley et al. 2005)

3.4 Volatiles in Magmatic Systems

The isotope composition of magmatic volatiles and related isotope fractionation pro-
cesses can be deduced by analyses of glasses, volcanic gases, and hot springs. The
main process that can cause isotope fractionation of volatile compounds is degassing
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and/or change in speciation (e.g. SO, —H»S). The other process which can alter the
isotopic composition of magmatic volatiles is assimilation and contamination. The
ultimate origin of volatiles in magmatic systems — whether juvenile in the sense that
they originate from primary mantle degassing, or recycled by subduction processes
— is difficult to assess, but may be deduced in some cases. Because large differences
exist in the isotope compositions of surface rocks relative to the mantle, the analysis
of volatiles is important in assessing the extent of volatile transfer from the surface
reservoirs to the mantle via subduction. Volatiles from arc related volcanic and hy-
drothermal systems may indicate an appreciable amount of surface derived materials
and provide strong evidence of volatile recycling in subduction zones (Hauri 2002;
Snyder et al. 2001; Fischer et al. 2002).

3.4.1 Glasses

Hydrogen. Water dissolves in silicate melts and glasses in at least two distinct forms:
water molecules and hydroxyl groups. Because the proportions of these two species
change with total water content, temperature and chemical composition of the melt,
the bulk partitioning of hydrogen isotopes between vapor and melt is a complex
function of these variables. Dobson et al. (1989) determined the fractionation be-
tween water vapor and water dissolved in felsic glasses in the temperature range
from 530 to 850°C. Under these conditions, the total dissolved water content of the
glasses was below 0.2%, with all water present as hydroxyl groups. The measured
hydrogen fractionation factors vary from 1.051 to 1.035 and are greater than those
observed for most hydrous mineral — water systems, perhaps reflecting the strong
hydrogen bonding of hydroxyl groups in glasses.

Hydrogen isotope and water content data for MORB, OIB, and BAB glasses
have been determined by Kyser and O’Neil (1984), Poreda (1985), and Poreda
et al. (1986). The range of dD-values for MORB glasses is from —90 to —40%o
and is indistinguishable from that reported for phlogopites and amphiboles from
kimberlites and peridotites (see Fig. 3.4). Kyser and O’Neil (1984) demonstrated
that D/H ratios and water content in fresh submarine basalt glasses can be altered
by (1) degassing, (2) addition of sea water at magmatic temperature and (3) low-
temperature hydration. Extrapolations to possible unaltered D/H-ratios indicate that
primary dD-values for most basalts are —80 £ 5%eo.

The process of degassing has been documented best for rhyolitic magmas where
water-rich magmas (about 2%) have a dD-value of —50%.. At very late erup-
tion stages with remaining water contents of around 0.1% the 8D-value is around
—120%0 (Taylor et al. 1983; Taylor 1986). For this process, the decisive parameter
is the isotopic fractionation between the vapor and the melt, which can be between
15 and 35%o (Taylor 1986) and the amount of water lost from the system (Rayleigh
fractionation). The degassing process produces an opposite trend to a meteoric wa-
ter hydrothermal alteration, showing decreasing 6D-values with increasing water
content.
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Carbon. Isotopic fractionation between CO, and dissolved carbon in melts has
been estimated by various authors to vary between 2 and 4%o (as summarized by
Holloway and Blank 1994), the vapor being enriched in'3C relative to the melt. This
fractionation can be used to interpret the carbon isotope composition of glasses and
CO; in volcanic gases and to estimate the initial carbon concentration of undegassed
basaltic melts.

Reported 8'3C-values for basaltic glass vary from —30 to about —3%o that repre-
sent isotopically distinct carbon extracted at different temperatures by stepwise heat-
ing (Pineau et al. 1976; Pineau and Javoy 1983; Des Marais and Moore 1984; Mattey
et al. 1984). A “low-temperature” component of carbon is extractable below 600°C,
whereas a “high-temperature” fraction of carbon is liberated above 600°C. There
are two different interpretations regarding the origins of these two different types
of carbon. While Pineau et al. (1976) and Pineau and Javoy (1983) consider that
the whole range of carbon isotope variation observed to represent primary dissolved
carbon, which becomes increasingly '3C depleted during multistage degassing of
CO,, Des Marais and Moore 1984) and Mattey et al. (1984) suggest that the “low-
temperature” carbon originates from surface contamination. For MORB glasses, the
“high-temperature” carbon has an isotopic composition typical for that of man-
tle values. Island arc glasses have lower 8'3C-values, which might be explained
by mixing two different carbon compounds in the source regions: an MORB —
like carbon and an organic carbon component from subducted pelagic sediments
(Mattey et al. 1984).

Nitrogen. The determination of nitrogen isotopes in basaltic glasses is severely
complicated by its low concentration, which makes nitrogen sensitive to atmo-
spheric contamination and to addition of surface-derived materials i.e., organic mat-
ter. Nitrogen in basaltic glasses has been determined by Exley et al. (1987), Marty
and Humbert (1997), and Marty and Zimmermann (1999). The recent studies by
Marty and coworkers indicate that nitrogen in MORB and OIB glasses has an av-
erage 85 N-value of around —4 + 1%0 (see Fig. 3.6). The major factors affecting
its isotopic composition appear to be magma degassing and assimilation of surface-
derived matter.

Sulfur. The behavior of sulfur in magmatic systems is particularly complex: sul-
fur can exist as both sulfate and sulfide species in four different forms: dissolved
in the melt, as an immiscible sulfide melt, in a separate gas phase, and in various
sulfide and sulfate minerals. MORB glasses and submarine Hawaiian basalts have a
very narrow range in sulfur isotope composition, with 53*S-values clustering around
zero (Sakai et al. 1982, 1984). In subaerial basalts, the variation of 5**S-values is
larger and generally shifted towards positive values. One reason for this larger vari-
ation is the loss of a sulfur-bearing phase during magmatic degassing. The effect
of this process on the sulfur isotope composition depends on the ratio of sulfate to
sulfide in the magma which is directly proportional to the fugacity of oxygen (Sakai
et al. 1982). Arc volcanic rocks are particularly enriched in 3*S, with 5%*S-values
up to +20%o (Ueda and Sakai 1984; Harmon and Hoefs 1986) which is considered
to be mainly a product of recycling of marine sulfate during subduction.
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3.4.2 Volcanic Gases and Hot Springs

The chemical composition of volcanic gases is naturally variable and can be mod-
ified significantly during sample collection, storage, and handling. While it is rel-
atively simple to recognize and correct for atmospheric contamination, the effects
of natural contamination processes in the near-surface environment are much more
difficult to address. Thus, the identification of truly mantle-derived gases except he-
lium remains very problematic. In addition to assimilation/contamination processes,
the degassing history can significantly alter the isotopic composition of magmatic
volatiles.

3.4.2.1 Water

A long-standing geochemical problem is the source of water in volcanic eruptions
and geothermal systems: how much is derived from the magma itself and how
much is recycled meteoric water? One of the principal and unequivocal conclu-
sions drawn from stable isotope studies of fluids in volcanic hydrothermal systems
is that most hot spring waters are meteoric waters derived from local precipitation
(Craig et al. 1956; Clayton et al. 1968; Clayton and Steiner 1975; Truesdell and
Hulston 1980, and others).

Most hot spring waters have deuterium contents similar to those of local pre-
cipitation, but are usually enriched in '30 as a result of isotopic exchange with the
country rock at elevated temperatures. The magnitude of the oxygen isotope shift
depends on the O-isotope composition of both water and rock, the mineralogy of
the rock, temperature, water/rock ratio, and the time of interaction.

There is increasing evidence, however, that a magmatic water component cannot
be excluded in some volcanic systems. As more and more data have become avail-
able from volcanoes around the world, especially from those at very high latitudes,
Giggenbach (1992) demonstrated that “horizontal” '30 shifts are actually the excep-
tion rather than the rule: shifts in oxygen isotope composition are also accompanied
by a change in the deuterium content (Fig. 3.10). Giggenbach (1992) argued that all
these waters followed similar trends corresponding to mixing of local ground wa-
ters with a water having a rather uniform isotopic composition with a 8'30-value of
about 10%o and a dD-value of about —20%.. He postulated the existence of a com-
mon magmatic component in andesite volcanoes having a 8D of —20%. which is
much higher than the generally assumed mantle water composition. The most likely
source would be recycled sea water carried to zones of arc magma generation by the
subducted slab.

What is sometimes neglected in the interpretation of isotope data in volcanic
degassing products are the effects of boiling. Loss of steam from a geothermal fluid
can cause isotopic fractionations. Quantitative estimates of the effects of boiling on
the isotopic composition of water can be made using known temperature-dependent
fractionation coefficients and estimates of the period of contact between the steam
and liquid water during the boiling process (Truesdell and Hulston 1980).
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Fig. 3.10 Isotopic composition of thermal waters and associated local groundwaters. Lines connect
corresponsing thermal waters to local groundwaters (Giggenbach, 1992)

3.4.2.2 Carbon

CO; is the second most abundant gas species in magmatic systems. In a survey
of CO;, emanations from tectonically active areas worldwide, Barnes et al. (1978)
attributed 8'>C-values between —8 and —4%o to a mantle source. This is, however,
problematic, because average crustal and mantle isotope compositions are more or
less identical and surficial processes that can modify the carbon isotope composition
are numerous. A more promising approach may be to analyze the '*C-content of
CO; collected directly from magmas at high temperatures.

The volcano where gases have been collected and analyzed for the longest time is
Kilauea in Hawaii, the database covering a period from about 1960 to 1985 (Gerlach
and Thomas 1986; Gerlach and Taylor 1990). Gerlach and Taylor (1990) consider a
83 C-value of —3.4-£0.05%o to be the best estimate of the mean for the total summit
gas emission of Kilauea. A two-stage degassing model was developed to explain
these values: (1) ascent and pressure equilibration in the summit magma chamber
and (2) rapid, near surface decompression of summit-stored magma during ascent
and eruption. The study demonstrated that the gas at the summit is a direct represen-
tation of the parental magma C-isotope ratio (8'3C: — 3.4%0), whereas gases given
off during East Rift Zone eruptions have a 83 C-value of —7.8%0, corresponding to
a magma which had been affected by a degassing in a shallow magmatic system.

It is well documented that carbon dioxide in vesicles of MORB is derived from
the upper mantle. In island arcs and subduction-related volcanism major portions of
carbon may derive from limestones and organic carbon. Sano and Marty (1995)
demonstrated that the CO,/?He ratio in combination with the 8'3C-value can
be used to distinguish between sedimentary organic, limestone, and MORB car-
bon. Using this approach Nishio et al. (1998) and Fischer et al. (1998) concluded
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that about two-thirds of the carbon in a subduction zone originates from carbon-
ates, whereas up to one-third is derived from organic carbon. Even larger por-
tions (>80%) of CO, derived from marine carbonates have been found by Shaw
et al. (2003) in volcanoes from the Central American arc. Carbon derived from a
primary mantle source thus only plays a minor role in a subduction environment.

Besides CO,, methane has been reported in high-temperature hydrothermal vent
fluids (Welhan 1988; Ishibashi et al. 1995). The origin of this methane is somewhat
unclear, even in systems which are associated with *He anomalies. Whereas a non-
biogenic magmatic origin of methane has been assumed for the East Pacific Rise
(Welhan 1988), a thermogenic origin has been proposed for the Okinawa trough
(Ishibashi et al. 1995).

In recent years there is a growing evidence that methane can be produced abio-
genic during a Fischer-Tropsch type synthesis (reduction of CO or CO, by Hj in the
presence of a catalyst) (Sherwood-Lollar et al. 2006; McCollom and Seewald 2006
and others). Hydrocarbons (C{—C4) synthesized under abiogenic hydrothermal con-
ditions are significantly depleted in 'C relative to their CO, source. The magnitude
of 13C depletion may be similar to C-isotope fractionations during biological pro-
cesses making it impossible to distinguish between biogenic and abiogenic sources
of reduced carbon. This finding has important implications for the discussion of
the Earth earliest biosphere. Sherwood-Lollar et al. (2002) observed a trend of de-
creasing '3C contents with increasing carbon numbers C;—Cy just opposite to gases
derived from biologic sources. Experiments by Fu et al. (2007), however, could not
confirm the trend observed by Sherwood-Lollar et al. (2002).

3.4.2.3 Nitrogen

Nitrogen in particular is a potential tracer of volatile recycling between the sur-
face and the mantle, because of the large differences in N-isotope composition of
MORB (SISN: — 5%o), the atmosphere 0%o and sediments (6—7%o). As demonstrated
by Zimmer et al. (2004), Clor et al. (2005) and Elkins et al. (2006), nitrogen isotopes
are very well suited for determining the fate of organic matter in subduction zones.
These authors have demonstrated variable contributions of organic matter-derived
nitrogen along arcs in Costa Rica, Nicaragua, and Indonesia. For instance, Elkins
et al. (2006) estimated that sediment contributions to volcanic and geothermal gases
in the Nicaraguan volcanic front are around 70%.

3.4.2.4 Sulfur

Elucidation of the origin of sulfur in volcanic systems is complicated by the fact that
next to SO, significant amounts of H,S, sulfate and elemental sulfur can also be
present. The bulk sulfur isotope composition must be calculated using mass balance
constraints. The principal sulfur gas in equilibrium with basaltic melts at low pres-
sure and high temperature is SO,. With decreasing temperature and/or increasing
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water fugacity, H,S becomes more stable. 8%*S-values of SO, sampled at very high
temperatures provide the best estimate of the >*S-content of magmas (Taylor 1986).
Sakai et al. (1982) reported 83*S-values of 0.7 to 1%o in the solfataric gases of
Kilauea which can be compared well with the 5%*S-values of 0.9 to 2.6%. for Mount
Etna gases, measured by Allard (1983). SO, from volcanoes of andesitic and dacitic
composition is more enriched in 3*S. This is especially pronounced in arc volcanoes
from Indonesia, where Poorter et al. (1991) measured a &3*S-value of 5%o for the
bulk sulfur. Subducted oceanic crust may provide the 3*S enriched sulfur to arc
volcanoes.

In summary, stable isotope analysis (H, C, S) of volcanic gases and hot springs
allow for estimates of the isotopic composition of the mantle source. However, it
must be kept in mind that numerous possibilities for contamination, assimilation,
and gas phase isotopic fractionation, especially in the surficial environment, make
such deductions problematic at best. In cases where it may possible to “see through”
these secondary effects, small differences in H, C, N, and S isotope compositions
of volcanic gases and hot springs might be characteristic of different geotectonic
settings.

3.4.3 Isotope Thermometers in Geothermal Systems

Although there are many isotope exchange processes occurring within a geother-
mal fluid, many of which have the potential to provide thermometric information,
only a few have generally been applied, because of suitable exchange rates for
achieving isotope equilibrium (Hulston 1977; Truesdell and Hulston 1980; Giggen-
bach 1992). Temperatures are determined on the basis of calculated fractionation
factors of Richet et al. (1977). Differences among geothermometers in the C—O—H-—
S system are generally ascribed to differences in exchange rates in the decreasing
order CO,—H»O (oxygen) > H,O-H; (hydrogen) > SO,—H>S (sulfur) > CO,—CHy4
(carbon). Especially pronounced are the differences for the CO,—CHy4 thermometer
which are often higher than the actual measured temperatures. Recent investigations
on Nisyros volcano, Greece, however, suggest that chemical and isotopic equilib-
rium between CO, and CH4 may occur down to temperatures as low as 320°C
(Fiebig et al. 2004).

3.5 Ore Deposits and Hydrothermal Systems

Stable isotopes have become an integral part of ore deposits studies. The determina-
tion of light isotopes of H, C, O, and S can provide information about the diverse ori-
gins of ore fluids, about temperatures of mineralization and about physico-chemical
conditions of mineral deposition. In contrast to early views, which assumed that al-
most all metal deposits owed their genesis to magmas, stable isotope investigations
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have convincingly demonstrated that ore formation has taken place in the Earth’s
near-surface environment by recycling processes of fluids, metals, sulfur, and car-
bon. Reviews of the application of stable isotopes to the genesis of ore deposits have
been given by Ohmoto (1986), Taylor (1987) and Taylor (1997).

In as much as water is the dominant constituent of ore-forming fluids, knowledge
of its origin is fundamental to any theory of ore genesis. There are two ways for
determining 8D- and 8'0-values of ore fluids:

1. By direct measurement of fluid inclusions contained within hydrothermal
minerals

2. By analysis of hydroxyl-bearing minerals and calculation of the isotopic compo-
sition of fluids from known temperature-dependent mineral-water fractionations,
assuming that minerals were precipitated from solutions under conditions of iso-
tope equilibrium.

A. There are two different methods through which fluids and gases may be ex-
tracted from rocks: (1) thermal decrepitation by heating in vacuum and (2) crush-
ing and grinding in vacuum. Serious analytical difficulties may be associated with
both techniques. The major disadvantage of the thermal decrepitation technique is
that, although the amount of gas liberated is higher than by crushing, compounds
present in the inclusions may exchange isotopically with each other and with the
host mineral at the high temperatures necessary for decrepitation. Crushing in vac-
uum largely avoids isotope exchange processes. However, during crushing large new
surfaces are created which easily adsorb some of the liberated gases and that, in turn,
might be associated with fractionation effects. Both techniques preclude separating
the different generations of inclusions in a sample and, therefore, the results ob-
tained represent an average isotopic composition of all generations of inclusions.

Numerous studies have used the dD-value of the extracted water to deduce the
origin of the hydrothermal fluid. However, without knowledge of the internal dis-
tribution of hydrogen in quartz, such a deduction can be misleading (Simon 2001).
Hydrogen in quartz mainly occurs in two reservoirs: (1) in trapped fluid inclusions
and (2) in small clusters of structurally bound molecular water. Because of hydro-
gen isotope fractionation between the hydrothermal fluid and the structurally bound
water, the total hydrogen extracted from quartz does not necessarily reflect the orig-
inal hydrogen isotope composition. This finding may explain why 8D-values from
fluid inclusions often tend to be lower than dD-values from associated minerals
(Simon 2001).

B. Oxygen-bearing minerals crystallize during all stages of mineralization,
whereas the occurrence of hydrogen-bearing minerals is restricted in most ore de-
posits. Examples of hydroxyl-bearing minerals include biotite and amphibole at
high temperatures (in porphyry copper deposits), chlorite and sericite at tempera-
tures around 300°C , and kaolinite at around 200°C.

The mineral alunite, and its iron equivalent jarosite, is a special case. Alunite
(KA1,(SO;)2(OH)2) contains four sites where elements containing stable isotopes
are found and both the sulfate and hydroxyl anionic groups may provide information
on fluid source and condition of formation.
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Alunite forms under highly acidic oxidizing conditions and is characterized by
the assemblage alunite + kaolinite + quartz 4 pyrite. Stable isotope data of alunite
in combination with associated sulfides and kaolinite permit recognition of environ-
ments and temperatures of formation (Rye et al. 1992).

The indirect method of deducing the isotope composition of ore fluids is more
frequently used, because it is technically easier. Uncertainties arise from several
sources: uncertainty in the temperature of deposition, and uncertainty in the equa-
tions for isotope fractionation factors. Another source of error is an imprecise
knowledge of the effects of fluid chemistry (“salt effect”) on mineral-water frac-
tionation factors.

Several studies (e.g., Berndt et al. 1996; Driesner and Seward 2000; Horita
et al. 1995; Shmulovich et al. 1999) have demonstrated that the approach of us-
ing mineral — pure water fractionation factors to deduce the origin of the water is
incorrect. Isotope fractionations involving aqueous solutions depend not only on
temperature and fluid composition, but also on the presence or absence of phase
separation (“boiling”). Phase separation is an important process causing potentially
isotope fractionation. Hydrogen isotope studies (Berndt et al. 1996; Shmulovich
et al. 1999) indicate that high temperature phase separation produces D-enrichment
in the vapor and D-depletion in the conjugate fluid. If the fractionation effect inher-
ent in a boiling fluid system is disregarded, one may easily misinterpret the isotope
composition of hydrothermal minerals, since boiling may mask the source of the
parent fluids. In addition, for hydrogen isotope fractionations, pressure may have
some control on mineralwater fractionations (Driesner 1997; Horita et al. 1999).

3.5.1 Origin of Ore Fluids

Ore fluids may be generated in a variety of ways. The principal types include (1) sea
water, (2) meteoric waters and (3) juvenile water, all of which have a strictly defined
isotopic composition. All other possible types of ore fluids such as formation, meta-
morphic, and magmatic waters can be considered recycled derivatives or mixtures
from one or more of the three reference waters (see Fig. 3.11).

1. Sea water

The isotopic composition of present day ocean water is more or less constant with
d-values close to 0%o. The isotopic composition of ancient ocean water is less well
constrained, but still should not be removed from 0 by more than 1 or 2%.. Many
volcanogenic massive sulfide deposits are formed in submarine environments from
heated oceanic waters. This concept gains support from the recently observed hy-
drothermal systems at ocean ridges, where measured isotopic compositions of fluids
are only slightly modified relative to 0%eo. 8'80 and 8D-values of vent fluids are best
understood in terms of sea water interaction with the ocean crust (Shanks 2001).

Bowers and Taylor (1985) have modeled the isotopic composition of an evolv-
ing sea water hydrothermal system. At low temperatures, the 5'80-value of the fluid
decreases relative to ocean water because the alteration products in the oceanic crust
are 130-rich. At around 250°C, the solution returns to its initial sea water isotopic



126 3 Variations of Stable Isotope Ratios in Nature
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composition. Further reaction with basalt at 350°C increases the 3'80-value of mod-
ified sea water to ~2%o. The dD-value of the solution increases slightly at all tem-
peratures because mineral-water fractionations are generally less than 0. At 350°C,
the dD-value of the solution is 2.5%o. The best-documented example for the role of
ocean water during ore deposition is for the Kuroko-type deposits (Ohmoto et al.
1983).

2. Meteoric waters

Heated meteoric waters are a major constituent of ore-forming fluids in many
ore deposits and may become dominant during the latest stages of ore deposition.
The latter has been documented for many porphyry skarn-type deposits. The iso-
topic variations observed for several Tertiary North American deposits vary sys-
tematic with latitude and, hence, palaco-meteoric water composition (Sheppard
et al. 1971). The ore-forming fluid has commonly been shifted in O-isotope com-
position from its meteoric 8180-value to higher '30 contents through water-rock
interaction. Meteoric waters may become dominant in epithermal gold deposits and
other vein and replacement deposits.

3. Juvenile water

The concept of juvenile water has influenced early discussions about ore genesis
tremendously. The terms “juvenile water” and “magmatic water” have been used
synonymously sometimes, but they are not exactly the same. Juvenile water origi-
nates from degassing of the mantle and has never existed as surface water. Magmatic
water is a non-genetic term and simply means a water that has equilibrated with a
magma.

It is difficult to prove that juvenile water has ever been sampled. One way to
search for juvenile water is by analyzing hydroxyl-bearing minerals of mantle origin
(Sheppard and Epstein 1970). The estimated isotopic composition of juvenile water
from such an approach is 8D:—60 + 20%o and §'80:4-6 + 1%0 (Ohmoto 1986).
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3.5.1.1 Magmatic Water

Despite the close association of intrusions with many ore deposits, there is still de-
bate about the extent to which magmas contribute water and metals to ore-forming
fluids. Many early studies of the stable isotope composition of hydrothermal min-
erals indicated a dominance of meteoric water (Taylor 1974), more recent studies
show that magmatic fluids are commonly present, but that their isotopic composi-
tions may be masked or erased during later events such as the influx of meteoric
waters (Rye 1993; Hedenquist and Lowenstern 1994).

The dD-value of magmatic water changes progressively during degassing, result-
ing in a positive correlation between 8D and the residual water content of an igneous
body. Thus, late-formed hydroxyl-bearing minerals represent the isotopic composi-
tion of a degassed melt rather than that of the initial magmatic water. The dD-values
of most of the water exsolved from many felsic melts are in the range of —60 to
—30%o, whereas the associated magmatic rocks may be significantly depleted in D.

The calculated range of isotopic composition for magmatic waters is commonly
between 6 and 10%o for 8'80-values and —50 and —80%. for 8D-values. Mag-
matic fluids may change their isotopic composition during cooling through isotope
exchange with country rocks and mixing with fluids entrained within the coun-
try rocks. Thus, the participation of a magmatic water component during an ore-
forming process is generally not easily detected.

3.5.1.2 Metamorphic Water

Metamorphic water is defined as water associated with metamorphic rocks during
metamorphism. Thus, it is a descriptive, non-genetic term and may include wa-
ters of different ultimate origins. In a narrower sense, metamorphic water refers
to the fluids generated by dehydration of minerals during metamorphism. The
isotopic composition of metamorphic water may be highly variable, depending on
the respective rock types and their history of fluid/rock interaction. A wide range
of 8'80-values (5-25%0) and dD-values (—70 to —20%o) is generally attributed to
metamorphic waters (Taylor 1974).

3.5.1.3 Formation Waters

The changes in the D- and '80-contents of pore fluids depend on the origin of ini-
tial fluid (ocean water, meteoric water), temperature and the lithology of rocks with
which the fluids are or have been associated. Generally, formation waters with the
lowest temperature and salinity have the lowest dD- and 3'80-values, approaching
those of meteoric waters. Brines of the highest salinities are generally more re-
stricted in isotopic composition. It is still an unanswered question though whether
meteoric water was the only source of water to these brines. The final isotope
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composition of brines can be produced by reactions between meteoric water and
sediments, or result from mixtures of fossil ocean water trapped in the sediments
and meteoric water.

3.5.2 Wall-Rock Alteration

Information about the origin and genesis of ore deposits can also be obtained by ana-
lyzing the alteration products in wall-rocks. Hydrogen and oxygen isotope zonation
in wall-rocks around hydrothermal systems can be used to define the size and the
conduit zones of a hydrothermal system. The fossil conduit is a zone of large water
fluxes, generally causing a strong alteration in the rocks and lowering the 380-
values. Thus, fossil hydrothermal conduits can be outlined by following the zones
of 180-depletion. Oxygen isotope data are especially valuable in rock types that do
not show diagnostic alteration mineral assemblages as well as those in which the
assemblages have been obliterated by subsequent metamorphism (e.g., Beaty and
Taylor 1982; Green et al. 1983). Criss et al. (1985, 1991) found excellent spatial cor-
relations between low 8'®O-values and economic mineralization in siliceous rocks.
Similar zonation around ore deposits in carbonate rocks has also been observed
(e.g., Vazquez et al. 1998). Thus, zones having anomalously low '80-contents may
be a useful guide for exploration of hydrothermal ore deposits.

3.5.3 Fossil Hydrothermal Systems

Mainly through the work of Taylor and coworkers, it has become well established
that many epizonal igneous intrusions have interacted with meteoric groundwaters
on a very large scale. The interaction and transport of large amounts of meteoric
water through hot igneous rocks produces a depletion in 80 in the igneous rocks
by up to 10-15%o and a corresponding shift in the '80 content of the water. About
60 of such systems have been observed to date (Criss and Taylor 1986). They ex-
hibit great variations in size from relatively small intrusions (<100km?) to large
plutonic complexes (>1,000km?). Amongst the best documented examples are the
Skaergaard intrusion in Greenland, the Tertiary intrusions of the Scottish Hebrides,
and the Tertiary epizonal intrusions of the northwestern United States and south-
ern British Columbia, where 5% of the land surface has been altered by meteoric
hydrothermal water (Criss et al. 1991).

The best-studied example of a hydrothermal system associated with a gabbro
is the Skaergaard intrusion (Taylor and Forester 1979; Norton and Taylor 1979).
The latter authors carried out a computer simulation of the Skaergaard hydrother-
mal system and found a good match between calculated and measured 3'80-values.
They further demonstrated that most of the subsolidus hydrothermal exchange took
place at very high temperatures (400-800°C), which is compatible with the general
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absence of hydrous alteration products in the mineral assemblages and with the
presence of clinopyroxene.

In granitic hydrothermal systems, temperatures of alteration are significantly
lower because of differences in the intrusion temperatures. The most conspicuous
petrographic changes are chloritization of mafic minerals, particularly of biotite,
and a major increase in the turbidity of feldspars. Large nonequilibrium quartz —
feldspar oxygen isotope fractionations are typical. Steep linear trajectories on plots
of SISO(feldspaI) V8. 8180<qumz) are a characteristic feature of these hydrothermally
altered rocks (see Fig. 2.17 (Chap. 2)). The trajectories result from the fact that
feldspar exchanges 80 with hydrothermal fluids much faster than coexisting quartz
and from the fact that the fluids entering the rock system have 8'80-values which
are out of equilibrium with the mineral assemblage. The process seldom goes to
completion, so the final mineral assemblage is in isotope disequilibrium, which is
the most obvious fingerprint of the hydrothermal event.

Taylor (1988) distinguished three types of fossil hydrothermal systems on the ba-
sis of varying water/rock ratios, temperatures, and the length of time that fluid/rock
interaction proceeds:

Type I. Epizonal systems with a wide variation in whole rock '80-contents and
extreme oxygen isotope disequilibrium among coexisting minerals. These systems
typically have temperatures between 200 and 600°C and life-times <10%y.

Type I1. Deeper-seated and/ or longer-lived systems, also with a wide spectrum of
whole rock '80/1°0 ratios, but with equilibrated '0/!°0 ratios among coexisting
minerals. Temperatures are between 400 and 700°C and life-times >10°y.

Type II1. Equilibrated systems with a relatively uniform oxygen isotope compo-
sition in all lithologies. These systems require a large water/rock ratio, temperatures
between 500 and 800°C, and life times around 5 x 10° y.

These types are not mutually exclusive, Type III systems for example may have
been subjected to Type I or Type II conditions at an earlier stage of their hydrother-
mal history.

3.5.4 Hydrothermal Carbonates

The measured 8'°C- and §8'80-values of carbonates can be used to estimate the
carbon and oxygen isotope composition of the fluid in the same way as has been
discussed before for oxygen and hydrogen. The isotopic composition of carbon and
oxygen in any carbonate precipitated in isotopic equilibrium with a fluid depends
on the isotopic composition of carbon and oxygen in the fluid, the temperature of
formation, and the relative proportions of dissolved carbon species (CO,, H,CO»,
HCO; , and/or CO%*). To determine carbonate speciation, pH and temperature must
be known; however, in most geologic fluids with temperatures above about 100°C,
the content of HCO3 and CO%‘ is negligible compared to CO, and H,COs.
Experimental investigations have shown that the solubility of carbonate in-
creases with decreasing temperature. Thus, carbonate cannot be precipitated from
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Fig. 3.12 C- and O-isotope compositions of calcites and siderites from the Bad Grund and
Lautenthal deposits, Harz, Germany (after Zheng and Hoefs, 1993)

a hydrothermal fluid due to simple cooling in a closed system. Instead, an open
system is required in which processes such as CO, degassing, fluid—rock interac-
tion or fluid mixing can cause the precipitation of carbonate. These processes result
in correlation trends in 8'°C vs. §'%0 space for hydrothermal carbonates as often
observed in nature and theoretically modeled by Zheng and Hoefs (1993).

Figure 3.12 presents 8'3C and 8'80-values of hydrothermal carbonates from the
Pb—Zn deposits of Bad Grund and Lautenthal, Germany. The positive correlation be-
tween '*C/12C- and '80/'°O-ratios can be explained either by calcite precipitation
due to the mixing of two fluids with different NaCl concentrations or by calcite pre-
cipitation from a HyCOs-dominant fluid due to a temperature effect coupled with
either CO, degassing or with fluid—rock interaction.

3.5.5 Sulfur Isotope Composition of Ore Deposits

A huge amount of literature exists about the sulfur isotope composition in hydrother-
mal ore deposits. Some of this information has been discussed in earlier editions
and, therefore, is not repeated here. Out of the numerous papers on the subject, the
reader is referred to comprehensive reviews by Rye and Ohmoto (1974), Ohmoto
and Rye (1979), Ohmoto (1986), Taylor (1987) and Ohmoto and Goldhaber (1997).
The basic principles to be followed in the interpretation of 8%*S-values in sul-
fidic ores were elucidated by Sakai (1968), and subsequently, were extended by
Ohmoto (1972).
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The isotopic composition of a hydrothermal sulfide is determined by a number
of factors such as (1) isotopic composition of the hydrothermal fluid from which
the mineral is deposited, (2) temperature of deposition, (3) chemical composition of
the dissolved element species including pH and fO, at the time of mineralization,
and (4) relative amount of the mineral deposited from the fluid. The first parameter
is characteristic of the source of sulfur, the three others relate to the conditions of
deposition.

3.5.5.1 The Importance of fO, and pH

First, consider the effect of pH-increase due to the reaction of an acidic fluid with
a carbonate-bearing host rocks. At pH = 5, practically all of the dissolved sulfur
is undissociated H,S, whereas at pH = 9 the dissolved sulfide is almost entirely
dissociated. Since H,S concentrates 3*S relative to dissolved sulfide ion, an increase
in pH leads directly to an increase in the 8%S of precipitated sulfides.

An increase in oxygen fugacities has a much stronger effect on the 8°*S-values
than a pH change, because of the large isotope fractionation between sulfate and
sulfide. Figure 3.13 shows an example of the effect of pH and fO, variation on the
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Fig. 3.13 Influence of fO, and pH on the sulfur isotope composition of sphalerite and barite at
250°C and 8*Sgs = 0 (modified after Ohmoto, 1972)
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sulfur isotope compositions of sphalerite and barite in a closed system at 250°C
with 834825 = O%o. The curves are 8°*S contours, which indicate the sulfur iso-
tope compositions of the minerals in equilibrium with the solution. Sphalerite 8-
values can range from —24 to +5.8%o and those for barite from about 0 to 24.2%o
within geologically reasonable limits of pH and fO;. In the low fO, and pH region,
sulfide 3*S contents can be similar to 834825 and can be rather insensitive to pH
and fO,Changes. In the region of high fO,_ values where the proportion of sul-
fate species becomes significant, mineral 8%*S-values can be greatly different from
8% S and small changes in pH or fO, may result in large changes in the sulfur
isotope composition of either sulfide or sulfate. Such a change must, however, be
balanced by a significant change in the ratio of sulfate to sulfide.

In summary, interpretation of the distribution of 8°*S-values relies on informa-
tion about the source of sulfur and on a knowledge of the mineral parageneses that
constrain the ambient temperature, EH and pH. If the oxidation state of the fluid is
below the sulfate/H,S boundary, then the 34g / 328 ratios of sulfides will be insensi-
tive to redox shifts.

In the following section different classes of ore deposits are discussed.

3.5.5.2 Magmatic Ore Deposits

Magmatic deposits are characterized by sulfides which precipitate from mafic
silicate melts rather than hydrothermal fluids. They can be divided into S-poor
(deposits of platinum group elements) and S-rich magmatic sulfide systems (Ni—
Cu deposits) (Ripley and Li 2003). Typical examples are the deposits of Duluth,
Stillwater, Bushveld, Sudbury, and Norils’k. In many of these deposits, relatively
large deviations in 5*S-values from the presumed mantle melt value near zero are
observed, which may indicate magma contamination by interactions with country
rocks. The large spread in s is generally attributed to assimilation of sulfur from
the wall rocks, provided that the sulfur isotope composition of the country rocks is
significantly different from the magma.

3.5.5.3 Magmatic Hydrothermal Deposits

This group of deposits is closely associated in space and time with magmatic intru-
sions that were emplaced at relatively shallow depths. They have been developed
in hydrothermal systems driven by the cooling of magma (e.g., porphyry-type de-
posits and skarns). From 8D- and 8180—measurements, it has been concluded that
porphyry copper deposits show the clearest affinity of a magmatic water imprint
(Taylor 1974) with variable involvement of meteoric water generally at late stages
of ore formation.

The majority of 53*S-values of sulfides fall between —3 and 1%o and of sulfates
between 8 and 15%o (Field and Gustafson 1976; Shelton and Rye 1982; Rye 2005).
Sulfate—sulfide isotope date suggest a general approach to isotope equilibrium.
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Calculated sulfate—sulfide temperatures, for conditions of complete isotope equi-
librium, are typically between 450 and 600°C and agree well with temperatures es-
timated from other methods. Thus, the sulfur isotope data and temperatures support
the magmatic origin of the sulfur in porphyry deposits.

3.5.5.4 Epithermal Deposits

Epithermal ore deposits are hydrothermal deposits that form at shallow crustal
levels. A wide spectrum of ore deposits of a different nature occurs in this cate-
gory. Typical temperatures of mineralization range from 150 to 350°C with variable
salinities. Individual deposits often reveal that more than one type of fluid was in-
volved in the formation of a single ore deposit. One of the fluids involved often
appears to be of meteoric origin. In many deposits different fluids were alternatively
discharged into the vein system and promoted the precipitation of a specific suite of
minerals, such as one fluid precipitating sulfides and another precipitating carbon-
ates (Ohmoto 1986).

Compared to porphyry copper deposits 8**S-values in epithermal deposits are
more variable due to lower temperatures of formation and significant amounts of
both sulfide and sulfate in the hydrothermal fluid.

3.5.5.5 Recent and Fossil Sulfide Deposits at Mid-Ocean Ridges

Numerous sulfide deposits have been discovered in the sea floor along the East
Pacific Rise, Juan de Fuca Ridge, Explorer Ridge, and Mid-Atlantic Ridge
(Shanks 2001). These deposits are formed from hydrothermal solutions which
result from the interaction of circulating hot sea water with oceanic crust. Sulfides
are derived mainly from two sources: (1) leaching from igneous and sedimentary
wall rocks and (2) thermochemical sulfate reduction due to interaction with ferrous
silicates and oxides or with organic matter.

The role of sulfur in these vents is complex and often obscured by its mul-
tiple redox states and by uncertainties in the degree of equilibration. Studies by
Styrt et al. (1981), Arnold and Sheppard (1981), Skirrow and Coleman (1982),
Kerridge et al.(1983), Zierenberg et al. (1984), and others have shown that the sulfur
in these deposits is enriched in 3*$ relative to a mantle source (typical 3%s ranges
are between 1 and 5%o), implying small additions of sulfide derived from sea water.

Vent sulfides at sediment covered hydrothermal systems may carry, in addition,
signatures of sulfides derived from bacterial reduction. 8°*S-values alone may be
unable to distinguish between the different sulfur sources. High precision measure-
ments of 828, 8**S, and &°°S allow, however, the distinction of biological isotope
fractionation from abiological fractionation (Ono et al. 2007; Rouxel et al. 2008).
Biogenic sulfides are characterized by relatively high A33S-values compared to hy-
drothermal sulfides. Sulfides from the East Pacific Rise and the Mid-Atlantic Ridge,
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analyzed by Ono et al. (2007), gave low A3*S-values compared to biogenic sulfides
suggesting no contribution of biogenic sulfides. In altered oceanic basalts at ODP
Site 801, however, Rouxel et al. (2008) provided evidence for secondary biogenic
pyrite. These authors estimated that at least 17% of pyrite sulfur was derived from
bacterial reduction.

For ancient seafloor sulfide deposits an alternative model has been discussed by
Ohmoto et al. (1983), in which H,S and sulfides are buffered by precipitated an-
hydrite and where 5%S-values reflect temperature dependent equilibrium fractiona-
tions between SO4 and HS.

To the category of ancient hydrothermal seafloor ore deposits belong volcanic
associated massive sulfide deposits. They are characterized by massive Cu—Pb—Zn—
Fe sulfide ores associated with submarine volcanic rocks. They appear to have been
formed near the seafloor by submarine hot springs at temperatures of 150-350°C.
Massive sulfide deposits have 8°*S-values typically between zero and the §-value
of contemporaneous oceanic sulfate, whereas the sulfate has &-values similar to or
higher than contemporaneous sea water. According to Ohmoto et al. (1983) the ore-
forming fluid is evolved sea water fixed as disseminated anhydrite and then reduced
by ferrous iron and organic carbon in the rocks.

Another group belonging to this category of ore deposits is sedimentary-
exhalative (sedex) massive sulfide deposits. Just as volcanic massive sulfide de-
posits, this group has formed on the seafloor or in unconsolidated marine sediments.
Its members differ from volcanogenic massive deposits in that the dominant host-
rock lithologies are marine shales and carbonates, the associated igneous activity
is minor or negligible, and water depths seem to be considerably less than the
>2,000m proposed for most volcanogenic deposits. The total range of sulfide
5%S-values is much larger than the range observed in volcanogenic massive sulfide
deposits.

Sulfides are fine-grained and texturally complex containing multiple genera-
tions of minerals. Two different origins of sulfur can be envisaged: biogenic and
hydrothermal. Mineral separation methods cannot insure that mineral separates con-
tain only one type of sulfur. Therefore, conventional techniques cannot answer ques-
tions such as: is most of the sulfur produced by bacterial reduction of sea water or is
it inorganically acquired and hydrothermally introduced together with the metals? In
situ ion microprobe techniques allow isotope analysis on a scale as small as 20 pum.
Studies by Eldridge et al. (1988, 1993) have revealed extremely large variations on
distances of millimeters with gross disequilibrium between base metal sulfides and
overgrown pyrites. Thus, the mean 53*S-values of these deposits are not particu-
larly diagnostic of its origin, but additional measurements of A3*S might be able to
distinguish between different sulfur sources.

3.5.5.6 Mississippi Valley Type Deposits

The Mississippi Valley Type (MVT) deposits are epigenetic Zn—Pb deposits which
mainly occur in carbonates from continental settings (Ohmoto 1986).
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Characteristics often ascribed to MVT deposits include temperatures generally
<200°C and deposition from externally derived fluids, possibly basinal brines.
Sulfur isotope values from MVT deposits suggest two major sulfide reservoirs,
one between —5 and +15%o and one greater than +20%o¢ (Seal 2006). Both sul-
fide reservoirs can be related, however, to a common sea water sulfate source that
has undergone different sulfur fractionation processes. Reduction of sulfate occurs
either bacterially or by abiotic thermochemical reduction. High 5**S-values should
reflect minimal fractionations associated with thermochemical reduction of sea wa-
ter sulfate (Jones et al. 1996).

3.5.5.7 Biogenic Deposits

The discrimination between bacterial sulfate and thermal sulfate reduction in ore de-
posits on the basis of 53*S-values is rather complex. The best criterion to distinguish
between both types is the internal spread of §-values. If individual sulfide grains at
a distance of only a few millimeters exhibit large and nonsystematic differences
in 8°*S-values, then it seems reasonable to assume an origin involving bacterial
sulfate reduction. Irregular variations in**S-contents are attributed to bacteria grow-
ing in reducing microenvironments around individual particles of organic matter. In
contrast, thermal sulfate reduction requires higher temperatures supplied by exter-
nal fluids, which is not consistent with the closed system environment of bacterial
reduction.

Two types of deposits, where the internal S-isotope variations fit the ex-
pected scheme of bacterial reduction, but where the biogenic nature was already
known from other geological observations, are the “sandstone-type” uranium
mineralization in the Colorado Plateau (Warren 1972) and the Kupferschiefer
in Central Europe (Marowsky 1969), although thermal sulfate reduction may have
occurred at the base of the Kupferschiefer (Bechtel et al. 2001).

3.5.5.8 Metamorphosed Deposits

It is generally assumed that metamorphism reduces the isotopic variations in a sul-
fide ore deposit. Recrystallization, liberation of sulfur from fluid and vapor phases,
such as the breakdown of pyrite into pyrrhotite and sulfur, and diffusion at elevated
temperatures should tend to reduce initial isotopic heterogeneities.

Studies of regionally metamorphosed sulfide deposits (Seccombe et al. 1985;
Skauli et al. 1992) indicate, however, little evidence of homogenisation on the de-
posit scale. Significant changes may take place in certain restricted parts of the de-
posit as a result of special local conditions, controlled by factors such as fluid flow
regimes and tectonics. Thus, a very limited degree of homogenisation takes place
during metamorphism (Cook and Hoefs 1997). The extent of this is obscured by
primary distribution and zonation patterns.
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3.5.6 Metal Isotopes

One of the most important questions in the genesis of ore deposits is the origin of the
metals. Recent analytical developments have provided a new tool for the analysis of
metal isotopes (Fe, Cu, Zn, Mo). Since the bulk silicate earth (crust+ mantle) shows
a uniform mean isotope composition of the metals, different metal reservoirs with
distinct isotopic compositions are not easily recognizable. Thus, investigations by
Markl et al. (2006a, b) on Cu and Fe ores have indicated that tracing of ore sources
is ambiguous.

Magmatic processes do not appear to produce significant Cu and Fe isotope varia-
tions. Markl et al. (2006a, b) demonstrated that primary ores from high temperature
hydrothermal ores from the Schwarzwald mining district show a restricted range
despite the fact that the analyzed ores came from a large area and formed during
different mineralization events.

A range of more than 5%o in 8%Cu has been interpreted by Markl et al. (2006a)
as being due to redox processes among dissolved Cu-species and to fractionations
during precipitation of Cu minerals. A 2.5%o¢ variation of iron minerals in 5°Fe
has been explained by mixing models either through mixing with oxygen-rich sur-
face waters resulting in °Fe-depleted hematite or through mixing with CO,-rich
fluids leading to precipitation of isotopically depleted siderite (Markl et al. 2006b).
Thus, an important new research field is the identification of low-temperature alter-
ation processes in hydrothermal ore deposits, where biogenic and abiogenic redox
processes potentially lead to significant isotope fractionations as already has been
demonstrated in Sects. 2.13, 2.14, and 2.18, for Fe, Cu and Mo isotopes.

3.6 Hydrosphere

First, some definitions concerning water of different origin are given. The term mete-
oric applies to water that has been part of the meteorological cycle, and participated
in processes such as evaporation, condensation, and precipitation. All continental
surface waters, such as rivers, lakes, and glaciers, fall into this general category. Be-
cause meteoric water may seep into the underlying rock strata, it will also be found
at various depths within the lithosphere dominating all types of continental ground
waters. The ocean, although it continuously receives the continental run-off of me-
teoric waters as well as rain, is not regarded as being meteoric in nature. Connate
water is water