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Preface

The Asian monsoon is a spectacular occurrence in the Earth’s climate system.
During summer, the monsoon engine pumps moisture transported across
thousands of miles from the Indian and Pacific Oceans, producing heavy rains
over south and ecast Asia and adjacent marginal seas; meanwhile, it dumps
sinking, dry air to the north and west of Asia’s monsoon area, forming the
World’s largest desert zone, which stretches from the Sahara and the Middle East
to Mongolia. During winter, the Siberian cold wave pushes airflow across the
equator, causing heavy rains over Indonesia, northern Australia, and the southern
Pacific convergence zones.

What makes the Asian monsoon so powerful is the combination of thermal
contrast between the World’s largest landmass (Eurasian continent) and ocean
basin (the Indo-Pacific Ocean) and the presence of the World’s largest ridge, the
Tibetan Plateau. This unique tectonic setting responds to seasonal progression of the
solar radiation and Earth’s rotation, producing the monsoon climate with its seasonal
reversals in both the prevailing winds and associated precipitation, characterized by
“wet” summers and “dry” winters. Positive feedback with hydrological processes
amplifies the monsoon circulation. The accompanying desert and the Mediterranean
climate over the subtropics are “twin’’ to the monsoon climate, as both are produced
by the Asian monsoon system.

The giant Asian monsoon system (often called the Asian—Australian monsoon
system) dominates the entire eastern hemisphere tropics and subtropics. It interacts
with the El Nino/Southern Oscillation (ENSO) and extratropical circulations and
has far-reaching impacts for the global climate and the environment. The Asian
monsoon exemplifies the most complex interactions among Earth’s surface, ocean,
atmosphere, hydrosphere, and biosphere. The scientific importance of the Asian
monsoon cannot be overemphasized.

The Asian monsoon is also of enormous importance to humans. About 60% of
humanity inhabits the region of the Asian monsoon — a region where torrential rains,
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storms, droughts, heat waves, and cold-air surges are a part of the economy, culture,
and rhythms of life. The vegetation, biogeochemistry, economy, and society across
the Asian monsoon regions are all critically influenced by the evolution and varia-
bility of the Asian monsoon.

The science pertaining to the monsoon has advanced enormously in the last two
decades due to an increased wealth of new data from satellite observations and field
experiments, and the advances in computing power and mathematical representa-
tions of coupled climate systems. My intent in compiling this book is to offer a timely
summary of recent progress and also the remaining gaps in our knowledge and to
provide a full and current account of scientists ever-improving, expanding under-
standing of the physics associated with monsoon weather and climate. Particular
attention is given to the rapid progress made in monsoon predictions, some possible
directions for future change, and the monsoon’s impacts on economies.

In view of the topic’s complexity and scientific diversity, leading scientists at the
forefront of monsoon research were invited to contribute to this book. Most
chapters contain an authoritative review of the subject and highlight conceptual
breakthroughs as well as frontier research issues.

This volume begins with an overview of the Asian monsoon (Part One: Chapters
1-3). Chapter | describes the Asian monsoon as a multiscale, coupled atmosphere—
ocean—land dynamic system that interacts with other components of the Earth’s
climate system. Chapter 2 provides a global perspective of the monsoon. Chapter
3, complementing other chapters, focuses on the most powerful boreal winter
monsoon and Austral summer monsoon over the Maritime Continent and
Australia; providing a comprehensive overview of the monsoon in general and the
Asian—Australian monsoon in particular.

The character of the monsoon system is highly variable on many temporal and
spatial scales. Part Two (Chapters 4—7) describes the monsoon variability over a
broad range of timescales, from days to decades, and on various spatial scales,
from the smallest mesoscale to continental and global scales. The great variety of
monsoon weather is described in Chapter 4, with a detailed account of both south
Asian and east Asia. Chapter 5 provides a comprehensive review of the current
knowledge and issues of the monsoon’s intraseasonal variations. In Chapter 6 is
summarized the main features of interannual variability and possible causes. Varia-
bility on the decadal to interdecadal timescale is addressed in Chapter 7.

Understanding of the monsoon climate and its changes represents one of the
most difficult challenges to climate science because of the complexity of its interac-
tions over a wide range of atmospheric processes, as well as associated interactions
between the atmosphere, ocean, and land. Part Three of this book (Chapters 8-13) is
devoted to better improving the understanding of the monsoon system’s physical
processes and its roles associated with the Earth’s climate system. This part looks at
the atmospheric internal dynamical processes on a mesoscale (Chapter 8) and on
large and planetary-scales (Chapter 9). Hydrological processes are also discussed
(Chapter 10). Also included in this part are the interactions of the monsoon
system with land surface processes (Chapter 11), and ENSO-Asian monsoon inter-
actions (Chapter 12), and as well the roles of the Tibetan Plateau (Chapter 13). These
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chapters, along with the discussions on the atmosphere—ocean interaction discussed
in Chapter 1, lay out a firm basis for understanding the complex monsoon physics.

Seasonal prediction of monsoon activity is vitally important for society and
remains a foremost challenge to climate prediction in the 21st century. Part Four
(Chapters 14-15) deals with the numerical modeling and prediction of the monsoon
activity. The governing dynamical controls and physical representations that
determine the potential predictability of monsoons are explored in Chapters 14
and 15. Although the dynamical models of the coupled ocean—atmosphere—land
system still have considerable difficulty in capturing the predictability, the discus-
sions in this part of the book offer new ideas that are expected to contribute to
noticeable improvements in the monsoon climate predictions in the coming decades.

Part Five of the book (Chapters 16-18) enhances the understanding of the
monsoon environment and its societal influences. Evidence from paleorecord
studies shows that the Asian monsoon system has undergone remarkable changes
on geological timescales. Chapter 16 gives a detailed account of the past monsoon
cycles according to geological, orbital, and millennial and centennial timescales. In
the future, anthropogenic influences, including landuse/cover changes and atmo-
spheric composition changes on regional and global scales, may considerably
affect the future of the Asian monsoon. Possible human influences on the Asian
monsoon are discussed in Chapter 17. The focus of Chapter 18 is on the
monsoon’s impacts on agriculture and the economy. Of note is the fact that the
monsoon’s influences on humanity reach far beyond agriculture — these aspects are
dealt with more specifically elsewhere.

This book can be used as a comprehensive interdisciplinary text for college
students, both undergraduate and graduate. It can also serve as a professional
reference for research scientists and professionals in the fields of meteorology, ocea-
nography, climate dynamics, environmental science, geography and geology,
hydrology, paleoclimatology, agriculture, and the social sciences. Its informative
content is such that most material in this book can also be of great value to non-
specialists.
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The coupled monsoon system
Peter J. Webster

1.1 INTRODUCTION

The monsoons have received fervent attention for nearly 350 years. Early studies
(e.g., Halley, 1686; Hadley, 1735)" were driven by both basic scientific curiosity and
commercial necessity. The Indian Ocean and south Asia were areas of intense
trading activity and the success of a trading venture depended on entering and
exiting the south and east Asian regions during the proper phase of the monsoon
annual cycle. Later research (e.g., Blandford, 1886, 1887, Walker, 1924, 1928)
revolved mainly around societal and humanitarian issues as it had been noted that
the livelihood and well being of these monsoon societies depends on the variations of
the monsoon and the symbiotic relationship between agricultural practices and
climate. Whereas the summer rains recur each year, they do so with sufficient
variability to create periods of relative drought and flood throughout the region.
Figure 1.1 shows examples of the interannual variability as long-term time series of
rainfall for India and north Australia. Both time series possess different means and
each shows substantial interannual variability. The value of forecasting these varia-
tions well in advance has immense value and can be used to optimize agricultural
practices and water resource management, and to anticipate and mitigate disasters
associated with monsoon variability. Forecasting monsoon variability was a major
priority when systematic forecasting efforts began over a century ago. It remains so
today, as attempts are made to improve the quality of life in the monsoon regions
and as society seeks avenues toward global sustainability.

Perhaps the most important achievement in the last two decades has come from
the identification of the coupled ocean—atmosphere modes responsible for the
El Nifio—Southern Oscillation (ENSO) phenomenon (see review by Wallace et al.,
1998). This progress inspired the international Tropical Ocean—Global Atmosphere

!'See Kutzbach (1987) for a thorough historical review of monsoons.

B. Wang (ed.), The Asian Monsoon.
(© Praxis. Springer Berlin Heidelberg 2006.
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Figure 1.1. Time sequence of mean annual precipitation for India and north Australia using
Indian and north Australian rainfall climatologies. Solid and dashed lines show the ‘all-India’
rainfall index (Parthasarathy ez al., 1992b, 1994), and north Australian data (compiled by
Lavery et al., 1997). In general, the Indian rainfall is less variable (mean 852 (84 mm))
compared with the north Australian rainfall (735 (161 mm)). Neither time series shows
prolonged periods of multiyear drought or flood.

Programme (TOGA) which had a de facto emphasis on the tropical Pacific. The
study of other tropical regions, including their relationship to Pacific climate varia-
bility, has become a fundamental objective of international CLIVAR (Climate
Variability and Predictability Programme of the World Climate Research
Programme: WCRP, 1995, 1998). These efforts aim °...t0 understand and
quantify ... fluctuations in major tropical and subtropical heat sources and sinks
and thereby improve predictions of global weather and climate (NRC, 1998).

Given the scientific advances noted above, it would seem that the field is poised
to advance significantly both the understanding and prediction of Asian—Australian
monsoon variability. Such progress will, by necessity, be accomplished by the
gathering of more data from the ocean, atmosphere, and land surface, better
models, and most of all, an improved understanding of fundamental processes
that conspire to produce the observed monsoon and its variability.

There are signs of improvement in obtaining sustained ocean—atmosphere obser-
vations in the Indian Ocean. Besides the International Indian Ocean Expedition
(ITOE) in the mid-1960s and the WCRP World Ocean Circulation Experiment
(WOCE) observations in the Indian Ocean, there have been two dedicated cruises
investigating the upper ocean and interactions with the atmosphere (Hacker et al.,
1998; Webster et al., 2002) as well as a number of national experiments (e.g., Bay of
Bengal Monsoon Experiment, BOBMEX; Bhat ef al., 2001). There is an increasing
possibility that the ocean—atmosphere observing network in the Indian Ocean will
improve to the level enjoyed in the equatorial Pacific Ocean. An international group
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led by the Global Ocean Observing System (GOOS) Indian Ocean Panel (IOP) has
laid out an implementation plan to which a number of nations will likely contribute
(IOP, 2005). It should be noted, however, that modeling problems still persist with
persistent systematic errors existing in simulations and predictions. Perhaps with a
greater understanding of the monsoon system coming from the analysis of the
improved observations, model errors can be reduced to the extent that useful nu-
merically based forecasts can be made.

In the following paragraphs, we will explore what is known about the coupled
ocean—atmosphere nature of the monsoon. Whereas the full coupled nature of the
monsoon involves interactions with the land surface in the continental regions of
Asia and Australia, we will concentrate on aspects of ocean—atmosphere interaction.
Section 1.2 summarizes the state of modeling the coupled system. Section 1.3
provides an historical overview of the manner in which the field has come to
develop a holistic view of the monsoon. Sections 1.4 and 1.5 discuss in detail how
the annual cycle and interannual variability are controlled by negative feedbacks
between the atmosphere and the ocean. Section 1.6 discusses briefly the coupled
aspects of intraseasonal variability. In Section 1.7 a general theory of the regulation
of the coupled atmosphere—ocean monsoon is presented.

1.2 MODELING AND PREDICTING MONSOON VARIABILITY

Early forecasting techniques were essentially empirical. However, during recent
decades there has been a transition to a reliance on numerical techniques. What is
the degree of fidelity of numerical simulations of the monsoon and the how accurate
are forecasts of the monsoon? Unfortunately, our abilities to predict variability have
not changed substantially over the last few decades. For example:

(i) For over 100 years the India Meteorological Department has used models based
on empirical relationships between monsoon rainfall and worldwide climate
predictors with moderate success. These efforts have been extended to
different monsoon regions (see reviews by Hastenrath, 1986a,b, 1994) again
with only moderate success. Many of these schemes use measures of ENSO
as major predictors of monsoon variability (e.g., Shukla and Paolina, 1983;
Rasmussen and Carpenter, 1983; Shukla 1987a,b). Whereas there are periods
of extremely high association between ENSO and monsoon variability, there
are decades where there appears to be little or no association at all (Kumar et al.,
1999; Torrence and Webster, 1999). This association has been particularly weak
during the last 15 years.

(i1) Numerical prediction of monsoon variability on all timescales is severely hand-
icapped by the inability of models to simulate either the mean monsoon
structure or its year-to-year variability. These deficiencies have been demon-
strated clearly in the Atmospheric Model Intercomparison Program (AMIP;?

2 AMIP organized the integration of 39 atmospheric models using the same observed SST
distributions for a 10-year period (Gates, 1992).
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Sperber and Palmer, 1996) where the simulation capabilities of 39 atmospheric
general circulation models, each using the same evolving sea surface tempera-
ture (SST) forcing fields, were compared. The 10-year summer rainfall for a
random selection of AMIP models is shown in Figure 1.2(a) for the south Asian
region (Gadgil and Sanjani, 1998). Serious discrepancies are obvious in com-
parison with the National Centers for Environmental Prediction/National
Center for Atmospheric Research (NCEP/NCAR) reanalysis fields (upper left
panel). For example, few models reproduced the climatological precipitation
maximum over the Bay of Bengal but place maxima in other regions near the
equator and over south Asia. Similar variability between the models is apparent
in coupled ocean—atmosphere simulation comparisons (Climate Prediction
Center Merged Analysis of Precipitation (CMAP2); Huffman et al., 1997).
(ii1) Numerical simulation and prediction of intraseasonal variability in the tropics
by general circulation models is generally poor (e.g., Slingo et al., 1996; Waliser
et al., 2003a,b). This failure is especially serious in the monsoon regions as a
very large percentage of the total precipitation variance is observed in the 20—
50-day period band. However, physically based Bayesian empirical schemes
(e.g., Webster and Hoyos, 2004) have shown that regional precipitation char-
acteristics are predictable with considerable accuracy 20-30 days in advance.
Why models tend to show less skill than empirical techniques is not known but
it is expected that it is associated with problems in convective parameterization.
Krishnamurti et al. (1990a), for example, suggests that errors in cumulus pro-
pagation tended to erode the power in the slow intraseasonal manifold.

In summary, a combination of modeling problems and empirical non-stationarity
has plagued monsoon prediction on interannual timescales. Empirical forecasts have
to contend with the specter of statistical non-stationarity while numerical models
currently lack simulation fidelity.

1.3 THE DEVELOPMENT OF A HOLISTIC VIEW OF THE MONSOON

During the last two decades, a holistic view of the monsoon system has started to
prevail —a growing recognition that the monsoon system is strongly coupled. That is,
the ocean and the atmosphere, together with the land surface, are integral com-
ponents of a grander self-regulating monsoon system. We commence with a discus-
sion of how this new view of the monsoon has emerged.

1.3.1 Impacts of remote ocean variability on the monsoon

(The success of prediction of any physical system is heightened by the degree of
understanding of the phenomena. The earliest studies of the monsoon thought
of the monsoon as an atmospheric phenomenon driven by gradients of solar
heating of surfaces of different heat capacities. Continued research has shown that
the ocean plays an active role in the atmospheric monsoon. Especially during the last
decade the paradigm has shifted from the monsoon being driven by heating
differences manifested as SST anomalies, to an appreciation that ocean dynamics
are important and then to the realization that the monsoon is a thoroughly coupled
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(a) June-August 10-year mean summer rainfall
11 AMIP realizations (mm/day)

(b) CMIP2 realizations of area-averaged Ganges Valley rainfall
15 : . .

month

Figure 1.2. (a) Comparison of the 10-year mean summer (June through September) precipita-
tion over the Indian Ocean—south Asian region compiled by Gadgil and Sanjani (1998) from
the AMIP project (Gates, 1992). Climatologies result from 11 different models integrated
using the same evolving SST fields. The upper left panel shows the NCEP/NCAR
reanalysis data estimate of the mean 10-year precipitation for the same period. There is a
wide spatial variability between the estimates. (b) Annual cycles of monsoon rainfall over
central India from 15 different coupled climate models for the Ganges catchment from the
Coupled Model Intercomparison Project (CMIP2). Heavy line shows mean of all models and
shaded region encloses +£1 standard deviation. Models with a vastly different annual cycle
phase are not shown. Even so, the models show a large difference in amplitude.
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atmosphere—ocean system. Furthermore, the coupled nature of the monsoon
probably embraces timescales of variability ranging from intraseasonal to inter-
annual and possibly interdecadal. The following discussion illustrates changing
perceptions regarding the interaction of the atmosphere and the ocean in
the monsoon system.

Walker (1924, 1928) first tied interannual variability of the monsoon to the
phase of the Southern Oscillation (Southern Oscillation and its index SOI) in the
early part of the 20th century. Whereas the relationship he described has waxed and
waned from one decade to another (e.g., Troup, 1965; Kumar et al., 1999; Torrence
and Webster, 1999) it accounts for about 40% of Indian monsoon rainfall variance
over the last 120 years (Shukla and Paolina, 1983). For many decades, without
physical underpinning, the relationship between the SOI and the monsoon was
regarded as a statistical artifact. A physical linkage between the Pacific Ocean and
the south Asian monsoon had to await the seminal work of Bjerknes (1966, 1969,
1971) who developed a coupled atmosphere—ocean process that described inter-
annual oscillations in the ENSO system finding, for the first time, an integral role
for the oceans. A major physical component of ENSO is the near-equatorial Walker
Circulation described first by Krishnamurti et al. (1973a). Changes in the location of
this meridional overturning cell associated with Pacific ENSO SST anomalies are
thought to create a remote influence on the monsoon by varying the intensity and
location of Walker Cell subsidence (e.g., Soman and Slingo, 1997; Dai and Wigley,
2000). With the exception of Lau and Wu (2001), who referred to SST responses in
the Indian Ocean (driven by ENSO) as creating monsoon variability, the general
opinion has been that the mode of interaction between the SST variation in the
Pacific Ocean and the Indian monsoon was through alteration of Walker Circulation
subsidence.

Table 1.1 provides a summary of the overall impact of ENSO variability on
monsoon rains. A moderate relationship exists between ENSO and the monsoon
although Troup (1965) and more recently Torrence and Webster (1999) have noted

Table 1.1. Relationship between the mean summer season rainfall in India (‘All-India’ rainfall
from Parthasarathy et al., 1992b: period 1871-1994) and the north Australian summer rainfall
(Lavery et al., 1997: period 1886-1993). A ‘deficient rainfall’ season is where the rainfall was at
least a standard deviation below the average while a ‘heavy rainfall’ season has rainfall at least
one standard deviation above average.

‘All-India’ North Australian

summer rainfall summer rainfall
Rainfall Total El Nifio La Nina Total El Niflo  La Nina
Below average 53 24 2 49 20 4
Above average 71 4 19 58 5 17
Deficient (<1s.d.) 22 11 2 18 9 0
Heavy (>1s.d.) 18 0 7 17 2 5
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that the relationship waxes and wanes from decade to decade. Most empirical
forecast schemes have concentrated on taking advantage of an ENSO-monsoon
rainfall relationship. Normand (1953) and Webster and Yang (1992) even suggest
that at times the influence is reversed and there is an influence of monsoon variability
on the evolution of ENSO phenomena. Webster and Yang (1992) suggest that there
is a reversing of influence at different times of the annual cycle. With regard to
Southern Oscillation—monsoon interactions, Normand (1953) stated:

... It is quite in keeping with this that the Indian monsoon rainfall has its connections
with later rather than earlier events ... Unfortunately for India, the Southern Oscillation
in June—August, at the height of the monsoon, has many significant correlations with
later events and relatively few with earlier events ... The Indian monsoon therefore
stands out as an active, not a passive feature in world weather, more efficient as a
broadcasting tool than an event to be forecast ... On the whole, Walker’s worldwide
survey ended offering promise for the prediction of events in other regions rather than in
India ...

Normand’s hypothesis has been tested with mixed results in a number of model
studies (e.g., Wainer and Webster, 1996; Kirtman and Shukla, 2000) leading to the
suggestion that there exists a grand coupled phenomenon (Webster and Yang, 1992;
Lau and Yang, 1996; Miyakoda et al., 1999) of which ENSO and the monsoon are
major components. Tantamount to these thoughts are that ENSO and the monsoon
cannot be considered separately or that one is the slave of the other.

Figure 1.3 depicts relationships between the Nifio 3 SST index (Figure 1.3(a))
and the All-India Rainfall Index (AIRI; Parthasarathy et al., 1992b, 1994,
Figure 1.3(b)) in the form of a wavelet analysis. Figure 1.3(c) shows the cross-
wavelet modulus of the AIRI and the Nifio 3 SST (Torrence and Webster, 1999).
A wavelet modulus provides a history of when in the data record certain periodicities
are dominant and it can be thought of as an evolving periodogram with time. Lau
and Weng (1995) and Torrence and Compo (1998) provide excellent summaries of
the use of wavelet analyses. The latter study is particularly useful as it provides a
method of calculating significance levels of wavelet moduli shown in Figure 1.3 at the
95% level (heavy black contours). A cross-wavelet analysis shows when certain
periodicities were common to both data sets. Below each wavelet analysis is a plot
of the time series. The black curve represents the percentage of the total variance
through the period of the analysis explained by the power at a particular time. On
the right-hand side of each wavelet analysis is a fast Fourier transform (FFT), or
periodogram, of the data time series and the average wavelet modulus as a function
of period. The FFT and the average wavelet modulus are very similar. The FFT
provides the total power in a particular frequency band averaged over the entire data
record. However, there is extra information in a wavelet analysis. If, during the data
record, there was just one very large amplitude event at a particular frequency, the
FFT may indicate large power but not disclose that it was the result of one event.
The wavelet analysis, on the other hand, localizes power in time and shows that it
was not a recurring phenomenon (Lau and Weng, 1995; Torrence and Compo,
1998). With these thoughts in mind, the following conclusions can be drawn from
the wavelet analysis.
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Figure 1.3. Wavelet modulus analyses of climate time series of (a) Pacific Ocean SST (1875—
1992) in the Niflo 3 region, (b) the all-India rainfall index (AIRI) (1875-1992), and (c) the
wavelet coherency between the AIRI and the Nifio 3 SST. Arrows indicate phase of the
coherency relative to the legend at the bottom right of the figure. The cross-wavelet
coherency modulus between the AIRI and the SST for the total period band and the 2-8-
year band. Contours indicate the % of total variance at a particular frequency explained at a
particular time in the data record. The dashed areas on the right and left of the moduli
distributions indicate the limitations of the data to define variance of a particular period at
a particular time of the data record. On the right-hand side of each modulus are periodograms

the summed wavelet modulus.
After Torrence and Webster (1998) and Torrence and Compo (1998).
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The relationship between the Pacific Ocean SST and the AIRI are not statistic-
ally stationary. There are at least three distinct regimes in the series. Before
1920, there was considerable variance in the AIRI and the SOI, and correlations
were near to —0.8 between the AIRI and the SST compared with an average
over the 120-year period of —0.64. These high correlations early in the data
period were the relationships that excited Walker and his colleagues. Between
1920 and 1960, there was little interannual variability in either the Pacific data
or the Indian rainfall, and the correlation decreased to <—0.2. Systematic
analyses of the non-stationarity of the SOI was undertaken by Treloar and
Grant (1953) and Grant (1953) for the Australian region and Troup (1965)
for the globe. Correlations between Darwin surface pressure (a proxy for the
SOI, see Trenberth (1976)) and also surface pressures in Hawaii with southern
Australian rainfall anomalies decreased from roughly —0.8 in the period 1909—
1928 to about —0.2 between 1929 and 1948. Treloar and Grant (1953, p. 428)
conclude that the secular reduction of correlations throws considerable doubt
on the direct use of correlation relationships in forecasting. Improvement in the
performance of forecast formulae cannot be expected until there is a more
satisfactory method of selecting indicators, requiring in turn a better under-
standing of the nature of weather processes.

The decrease in the correlations that occurred in the period between 1920 and
1960 has been replaced by an extended period of high variance in the SOI and
correlations that match the 1880-1920 period, and a return of much higher
correlations. These earlier studies were unaware that the ENSO signal
possessed a large interdecadal signal. The SST and the AIRI moduli, as well
as the cross modulus, show strong signals in the 10-25-year period. Given the
length of the data set, though, the conclusion should be viewed with some
skepticism. However, recent coral core data from the Nino 3 region, which
extents back in time to 1600, exhibits similar variability in this period band
(Cobb et al., 2003).

Throughout the data period (except between 1920 and 1950), there is strong
biennial monsoonal variance. A number of studies (e.g., Yasunari, 1987,
Rasmusson ef al., 1990; Barnett, 1991) have commented on a biennial periodi-
city in tropical circulations, especially the monsoons. The periodograms
indicate that the biennial variability is particularly strong in the monsoon
regions, although with less magnitude in the SST fields. However, the cross
modulus indicates substantial covariance in the 2—3-year-period band.

The AIRI wavelet analysis shows substantial variance at intraseasonal time-
scales as well as clear interannual variability.

One of the major problems in the analysis of monsoons is finding a representa-
measure of their strength. Most often the total seasonal rainfall over India is

used, usually in the form of the AIRI. However, compared with the scale of the
Asian—Australian monsoon, India is relatively small. Consequently, researchers have
sought other broader scale measures. For example, Webster and Yang (1992) used
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Figure 1.4. (a) Variability of the monsoon index M (equation 1.1) after Webster and Yang
(1992) from 1948-2003. The index is defined in the text and is proportional to the strength of
the anomalous zonal wind shear and is positive for above average monsoon rainfall and
negative for a below average monsoon. Panel (i) shows the index for the south Asian
region (0°-20°N, 60°~110°E) and panel (ii) for the north Australian region (0°~10°N, 120°—
150°E). The diagonal line through the bars denotes the linear trend of the indices over the
entire data period. Solid black bars denote deviations greater than one standard deviation.
The horizontal dashed lines show two means separating before and after 1972 for the south
Asian region and 1976 for north Australia. Shaded regions show the sets of standard
deviations. NCEP/NCAR data has been used to compile the time series. The trend was
checked in the common overlap period of the ER40 data set and the NCEP/NCAR set and
similar trends were found. Shaded bars indicate rainfall exceeding +1 standard. Similar trends
are apparent in the AIRI but not in the north Australian rainfall data (Lavery et al., 1997).
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(b) Composites of 850 and 200-hPa zonal winds for strong (i) and weak (ii) monsoon seasons
over South Asia as defined by the monsoon index M (equation 1.1). Large-scale changes in
sign and magnitude between the extremes of the monsoon in the Indian—Pacific region. Strong
monsoons are associated with enhanced low-level westerlies in the north Indian Ocean and
enhanced trade winds over the Pacific Ocean. The opposite characteristics attend the weak
monsoon composites. In the upper troposphere the largest changes occur in the eastern
hemisphere with strong easterlies associated with the strong monsoon and anomalous
westerlies with the weak monsoon. These upper level anomalies extend between +30°N — a
much broader region than the anomalies found at 850 hPa. (Continued overleaf)

large-scale vertical shear over south Asia to determine the relative strength of a
summer monsoon. Their index is defined as:

M = [U - U]ssohpa_[U - U]ZOOhPa (1-1)

where U represents the mean seasonal zonal velocity component and U the long-
term time mean. Other indices have also been designed (see Wang and Fan, 1999 for
a review). Figure 1.4(a) shows the seasonal monsoon index M (panel i) for south
Asia and seasonal composites of the 850 and 200-hPa zonal winds and the 850-mb
meridional winds for weak and strong monsoons defined as being one standard
deviation above or below the average. Figure 1.4(b) shows similar plots for the
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Figure 1.4. (c) Same as for (b) except for strong and weak north Australian monsoons defined
in Figure 1.4(a; panel [ii]). The composites show a large response confined to the Australia—
Indonesian and Pacific that appear to be associated with an enhanced Walker-type circulation
for the strong monsoon and an anomalously reduced Walker-type cell for the weak monsoon.

north Australian summer monsoon. M was computed over the region 0°-20°N and
40°-110°E for the boreal summer and 0°-10°S and 120°-150°E for the austral
summer. In both seasons and at both levels, the composite wind fields are substan-
tially different with each possessing large-scale coherent variability. Of particular
interest to this study is the fact that the low-level winds that form the most direct
means of communication between the atmosphere and the ocean are significantly
different between the two monsoon extremes. That is, one might expect that the
atmospheric forcing of the ocean will be substantially different in the event of
either strong or weak monsoons.

There remains a basic overriding question: whereas it is clear that there is an
impact of coupled Pacific Ocean processes on the south Asian region it is unclear
how these influences manifested? Is the modified atmospheric circulation associated
with ENSO imposing large-scale enhanced subsidence on the monsoon regions or is
the connection through modification of the Indian Ocean by ENSO-induced circula-
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tion changes? In summary, we know that ENSO and the monsoon influence each
other but we are not sure how this influence takes place.

1.3.2 Regional ocean variability

The IIOE, conceived in the late 1950s, is a major international effort in oceanogra-
phy. The Indian Ocean was chosen because it was the most poorly documented of all
ocean basins. Furthermore, it was the only ocean basin that was forced by seasonally
reversing winds and there was promise that exciting and new phenomena may be
discovered. Hastenrath (1994) later describes a ‘monsoon ocean’ driven by a wind
system is unique in its annual cycle noting that “...nowhere else on the globe is the
annual reversal of the surface wind regime as spectacular as over the Indian Ocean
sector ...’ (p.57). The seasonal variability of the wind-driven circulation is vigorous
and varies rapidly in magnitude and direction over a wide range of timescales.

The 1IOE was conducted in 1965-1966 during which an unprecedented 36
oceanographic research ships participated. Largely from the observations taken
during the IIOE, climatologies of the thermal, chemical, and dynamic properties
of the Indian Ocean were computed (e.g., Swallow, 1980; Duing and Leetmaa,
1980; Duing et al., 1980; Hastenrath and Greischer, 1989; Halpern et al., 1988).
Many studies concentrated on the vigorous Somalia Current, which connects the
southern and northern hemispheres in both the boreal summer and winter (e.g.,
Duing et al., 1980; Leetmaa, 1973). Seminal studies of wind-generated ocean
waves were produced. Anderson and Rowlands (1976) and Lighthill (1969) were
able to differentiate between local and remote wind forcing and wave generation
in different parts of the basin. Knox (1976) found evidence of eastward propagating
Kelvin waves in the equatorial central Indian Ocean and Wyrtki (1973) found strong
wind-forced equatorial oceanic jets. Halpern ez al. (1988) and Godfrey (1995) formed
consensus views of the Indian Ocean. Both studies were extensive and far-reaching.
Yet, these details provided little evidence of a reverse feedback: the forcing of atmo-
spheric anomalies by an altered and wind-forced state of the ocean.

1.3.3 Impacts of regional ocean variability

Traditionally, regional oceans have been considered an important part of setting up
the background forcing of the monsoon, but only in a passive thermodynamic sense.
In this scheme, the ocean represents the cold pole of the heating dipole and the major
supplier of moisture through evaporation. Primary moisture source regions are the
Arabian Sea and the south Indian Ocean (e.g., Ghosh et al., 1978; Cadet and
Reverdin, 1981; Pisharoty, 1996).

Noting that there are documented SST anomalies in these ocean basins, it was a
natural extension to suppose that the anomalies may influence south Asian rainfall
through alterations of moisture supply. Through numerical experimentation, Shukla
(1975) and Washington et al. (1977) found statistically significant relationships
between Arabian Sea SST anomalies and Indian rainfall. Subsequent diagnostic
studies (e.g., Sadhuram, 1997; Hazzallah and Sadourny, 1997; Clark et al., 2000)
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have found empirical evidence that these relationships exist but also found they
exhibited a statistical non-stationarity. Clark ez al. (2000), for example, found
correlations as high as 4+0.8 occurred between equatorial Indian Ocean SSTs and
Indian precipitation in the winter prior to the monsoon wet season. A combined
Indian Ocean SST index generated by Clark et al. (2000a) has retained an overall
correlation of 0.68 for the period 1945-1994, after the removal of ENSO’s influence.
Yet, despite the demonstrated (if spasmodic) influence of regional SSTs on the vigor
of the monsoon, evidence was not found that suggested that the atmosphere and the
ocean acted coherently, forming a closed feedback loop. That is, SST anomalies were
found to affect winds and surface moisture fluxes (which combine to modify the
overall atmospheric monsoon circulation) but there was little mention of how (or if)
the anomalously forced atmospheric circulation produced the SST anomalies.

1.3.4 Intraseasonal variability and the large-scale monsoon

The summer monsoon of south Asia commences in May before petering out in
September. However, during this period, the monsoon does not maintain a
constant vigor but possesses a number of interspersed periods of rainfall deficit.
Ramamurthy (1969) adopted the term ‘break’ for the periods of temporary
drought. Originally, a monsoon break was thought of as cessation of the entire
monsoon (Rao, 1976). However, it had also been noted that when rain ceased
over central India rainfall increased over extreme northern India in the foothills of
the Himalayas (e.g., Ramamurthy, 1969; Desai and Mal, 1938). This evidence led
Shukla (1987a) to suggest that rather than a complete cessation of rainfall a break
period is actually a ‘... a spatial redistribution of the monsoon rainfall ... which
suggested that the monsoon break was part of an active large-scale dynamical
system. In fact, in any one location in south Asia, the monsoon is divided up into
long periods (15-30 days) of above-average followed by periods of below-average
precipitation. The pluvial period has become known as the ‘active’ monsoon while
the intervening period of less rainfall or drought is called a ‘break’ monsoon.
Collectively, a cycle of an active and a break monsoon is called a monsoon intra-
seasonal oscillation (MISO; Webster et al., 1998).

Shukla (1987a) discusses four possible causes of intraseasonal variability. These
are: (i) cycles in synoptic systems such as lows, depressions; (ii) variations in the
position and strength of the continental monsoon trough; and (iii) quasiperiodic
oscillations of the monsoon (e.g., Yasunari, 1979; Sikka and Gadgil, 1980;
Webster, 1983) and the impacts of mid-latitude disturbances (e.g., Ramaswamy,
1962; Rodwell, 1997). More recent studies have suggested that the intraseasonal
oscillations of the monsoon are manifestations of basin-wide processes that form
along the equator before propagating northward from the eastern tropical Indian
Ocean to the landmasses of south and south-eastern Asia (e.g., Webster et al., 1998,
2002). These ideas support the third contention of Shukla (1987a) that intraseasonal
variability is a quasiperiodic oscillation of the macroscale monsoon. Both Webster
et al. (1998) and Webster et al. (2002) showed that intraseasonal variability of the
monsoon impacts the thermal structure of the Indian Ocean. Finally, Han ef al.
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Figure 1.5. (a) Intraseasonal variability of precipitation occurs irrespective of the strength of
the monsoon. 10-day running means of GPI precipitation rate central India (panel i) for the
years which the summer rainfall is between 81% and 84% of the summer mean (years 1905,
1907, 1912, 1925, 1929; panel ii), between 98% and 102% (years 1937, 1957, 1966, 1967, 1976,
1980; panel iii), and between 116% and 119% (1910, 1948, 1953, 1954; panel iv). Heavy

dashed curves show the mean seasonal precipitation for each category.
Data from Singh er al. (1992) and adapted from Webster and Hoyos (2004).
See color section for Figure 1.5(b).

(2004) has also shown clear dynamic signatures directly linked to atmospheric
intraseasonal forcing. Finally, in two recent studies Stephens er al. (2004) and
Wang et al. (2004b) have extended the argument to suggest that the intraseasonal
variability of the monsoon is a fully coupled phenomenon. We will return to these
issues later.

It is important to note that, interannual climate change is not alone in impacting
monsoon society and that it may not be the most important. Intraseasonal varia-
bility occurs with far greater amplitude as the monsoon each year goes through a
series of active and break periods. Figure 1.5(a) (Webster and Hoyos, 2004) shows
the variability of AIRI in the location shown in panel (i). Panels (ii) to (iv) show the
seasonal variability for years that are very much below average (AIRI between 81
and 84% of the long-term average), average (between 98-102%), and strongly above
average (between 116-119%)), respectively. The dashed line in each panel represents
the long-term average of the category. There are clear differences between the mean
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values in each category but, irrespective of the long-term mean, each individual year
is dominated by MISOs. The active and break phases of the MISO appear to occur
randomly throughout the year. From an agricultural point of view, the timing of
these oscillations is critical. Even if the total rainfall proves to be above average over
the entire summer, a delayed first peak or extended break could reduce the yield of a
crop considerably. On the other hand, a fortuitously timed active period during a
below-average year might permit a bountiful yield to be harvested later. Of course,
yield could be increased whether the monsoon is average or above or below average
if skillful forecasts of monsoon intraseasonal oscillations are made with sufficient
lead to allow modification of agricultural practices and if, of course, the forecasts are
heeded.

Figure 1.5(b; color section) illustrates another problem of using only forecasts of
the annual or seasonal average monsoon rainfall. The maps show the spatial dis-
tribution of rainfall anomalies for roughly the same categories used in Figure 1.5(a).
In the two extreme periods there are more above-average or below-average districts.
However, there appears to be no distinct regionality that matches the annual
anomaly. In the ‘average’ category, the situation is far more complicated with a
ménage of above and below-average districts. In other words, even if an average
seasonal rainfall were forecast with great accuracy, it would be difficult to downscale
the forecast to provide a useful product at the regional level.

1.3.5 Emergence of the concept of the monsoon as a coupled system

During the 1980s, an accumulation of evidence from diagnostic and modeling studies
suggested that there were distinct and large-scale, low-frequency changes to the heat
transport and storage of the Indian Ocean. Furthermore, these changes were directly
related to wind forcing and were in addition to the earlier dynamical responses
described earlier (e.g., Wyrtki, 1973; Anderson and Rowlands, 1976; Leetmaa,
1976). This realization came about when it was noted that there was a substantial
wind-driven meridional oceanic heat flux (e.g., Hastenrath and Lamb, 1978; Hsuing
et al., 1989; Hastenrath and Greischer, 1993). The results of these observational
studies were corroborated with a series of modeling studies (e.g., Loschnigg and
Webster, 2000). Figure 1.6 shows four estimates of oceanic zonally averaged merid-
ional heat transfer in the Indian Ocean (Chirokova and Webster, 2005). Both data
and model-based estimates show much of the same character: a strong annual cycle
of oceanic heat transfer with seasonal peaks of £1-1.5 PW with the direction of the
flux out-of-phase with solar heating. That is, during the northern hemisphere
summer the heat flux is directed southwards to the winter hemisphere reversing
during the boreal winter. The seasonally reversing heat flux is suggestive of a
possible feedback between the ocean and the atmosphere that may regulate the
strength of the monsoon (Loschnigg and Webster, 2000; Webster et al., 2002;
Loschnigg et al., 2003).

These empirical and modeling relationships are important because they suggest
that there are basin-wide relationships that may be, to some extent, independent of
ENSO and, thus, inherent to the Indian Ocean—monsoon system. Some structural
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Figure 1.6. Comparison of the seasonal cycle of zonally averaged northward heat transport in
the Indian Ocean: (a) Wacogne and Pacanowski (1996), (b) Hsiung er al. (1989), (c)
Hastenrath and Greischer (1993), and (d) Chirokova and Webster (2005). Estimates (a) and
(d) are made from models whereas (b) and (c) are calculated as residuals from atmospheric and
surface data budgets. The four annual cycles are remarkably similar with broad northward
cross-equatorial transports of heat during the autumn and southward transports during the
spring and summer and early autumn.

independence of basin-wide modes is evident in Figure 1.7(a,b). These figures
describe the persistence of SST in space (Figure 1.7(a)) and in time along the
equator (Figure 1.7(b)). The Pacific Ocean possesses a strong persistence minimum
in the boreal spring. This is the Pacific Ocean ‘predictability barrier’ of Webster and
Yang (1992) and underscores the rapid changes that often occur in the Pacific Ocean
during the boreal spring. The pattern in the Indian Ocean is quite different. Strong
persistence occurs from the end of the boreal summer until the late spring of the
following year. This behavior supports the contention of Meehl (1994a,b, 1997)
that there is a biennial component in the Indian Ocean SST and monsoon rainfall.
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Figure 1.7. SST in the Indian and Pacific oceans possesses distinctly different annual cycles of
persistence. (a) Persistence of the SST over two six-month periods: summer to winter and
winter to summer. Extremely strong persistence can be seen in the eastern Pacific Ocean and
the north Indian Ocean between summer and winter. However, persistence decreases substan-
tially in the Pacific Ocean between winter and summer. It is maintained, however, in the north
Indian Ocean. (b) Time sequence of the climatological persistence of SST along the equator for
a two-year cycle. (c) Persistence with Nifio 3 influence removed. Persistence is defined as the
percentage of the seasonal signal persisting six-months later. For example, there is almost no
persistence in the eastern Pacific Ocean from DJF to JJA but very large persistence from JJA
to DJF. In the Indian Ocean moderate and similar persistence (40-50%) exists irrespective of

season. (d) Same as (c) but with the ENSO signal removed.
From Torrence and Webster (1999).
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Meehl (1994a) also noted that strong Indian monsoons were generally followed by
strong north Australian summer monsoons six months later so that the entire Asian—
Australian monsoon system follows a biennial pattern (Figure 1.1). The south Asian
monsoon, at least as described by Indian precipitation, exhibits a smaller range of
variability during its summer pluvial phase than variability exhibited by the north
Australian monsoon. In fact, the south Asian monsoon has an interannual varia-
bility that is generally smaller than most heavy rainfall regions of the tropics.
For example, drought or flood in south Asia rarely extend to multiple years, with
rainfall oscillating biennially from slightly above-average to slightly below-average
precipitation.

Evidence of further coupled ocean—atmosphere interaction was soon to follow.
During the late summer and early autumn of 1997 rapid cooling developed in the
eastern tropical Indian Ocean. In the weeks that followed, a warm anomaly formed
in the central Indian Ocean and propagated westward (Webster et al., 1999; Saji
et al., 1999; Yu and Reinecker, 1999, 2000). By November 1997, a distinct SST
dipole had developed across the tropical Indian Ocean. Such events have been
called the Indian Ocean dipole (IOD) or Indian Ocean Zonal Mode (I0ZM).
Figure 1.8 shows the anomalous state of the Indian Ocean in November 1997. A
6°C SST gradient is evident between the west coast of Sumatra and the east African
coast (panel a). The anomalous long-wave radiation (outgoing long-wave radiation,

(a) SST anomaly Nov 1997
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Figure 1.8. Anomalous state of the Indian Ocean, during November 1997. Panels show
anomalies from the long-term November averages of: (a) SST (°K), (b) OLR (Wm™2), (c)
zonal wind anomaly (ms™!) at 925hPa, and (d) sea level height anomaly from the TOPEX/
POSEIDEN satellite (cm).
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OLR) pattern suggests wetter than average conditions in the western Indian Ocean.
Driven by the surface pressure gradient associated with the SST pattern, easterly
anomalies of 9ms~' dominated the central Indian Ocean (panel c). For later
reference, a sea surface height (SSH) gradient of nearly 1m existed across the
Indian Ocean.

The positive phase of the IOZM appears to be highly correlated with above-
average equinoctial ‘short’ rains of east Africa while the opposite (negative) phase is
associated with seasonal drought (Clark et al., 2003). Earlier studies have highlighted
the impacts of the positive phase of the IOZM and had also found relationships
between SST, zonal wind variations, and the African rainfall (e.g., Kapala et al.,
1994; Revedin et al., 1986; Hastenrath and Greischer, 1993). One of the more
interesting aspects of the IOZM is that it appears to be a strongly coupled mode
where the eastward propagation of the warm anomaly results from cooperative
interaction between the atmosphere and the ocean.

1.3.6 Emerging questions

The simulation and prediction problems alluded to earlier are, to a large degree,
functions of model error associated with characterization of convection and the
upscale propagation of error from parameterizations of small-scale, high-
frequency phenomena. But modeling problems aside, it should be noted that the
Indian Ocean region possesses, of all of the tropical oceans, the poorest network of
atmospheric and oceanic observations. Deficiencies occur both in remote sensing
(lack of available geosynchronous data) and in situ data. Currently, the Indian
Ocean does not possess oceanic observations that even closely match the Tropical
Atmosphere—Ocean (TAO) moored buoy array in the equatorial Pacific Ocean.
Besides being a significant impairment to prediction, the lack of a moored buoy
system in the Indian Ocean reduces predictability in the Pacific Ocean because
intraseasonal variability usually are initiated in the Indian Ocean before propagating
eastward over the Pacific warm pool. Thus, uncertainty in the state of the Indian
Ocean is transmitted to uncertainty in the Pacific.

Given the problems in simulating and predicting the monsoon variability of
monsoons it is well worth investigating the basic structure of monsoons from a
fundamental perspective. Given further that there is increasing evidence that the
monsoon is a deeply coupled ocean—atmosphere system, the investigation will
probably be more fruitful if it concentrates on coupled aspects of the system.
With these factors in mind, we ask a number of rather basic questions:

(1) It is clear that the monsoon is influenced by local and remote variations of
SST. What is unclear is how the SST variability changes the monsoon circula-
tion. Does the atmospheric circulation respond thermodynamically (i.e.,
through variations in heating and water vapor supply in surface fluxes into
the atmosphere) producing feedbacks such as those suggested by Ramanathan
and Collins’s (1991) ‘natural thermostat’ hypothesis posed in an attempt to
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(i)

(iif)

(iv)

V)

(vi)

(vii)

(viii)
(ix)

explain why the warm pool of the western Pacific Ocean appears to be con-
strained to remain in the 28-30°C range?

To what degree does the ocean respond dynamically to the atmospheric
response to the anomalous ocean heating and, if so, do these modes feed
back to produce a further atmospheric response? Do these collective
processes regulate the annual cycle and interannual variability of the
monsoon?

How do the SST anomalies themselves arise? In the Pacific Ocean, SST
patterns are created through the familiar ENSO coupled oceanic-atmospheric
mode (Cane and Zebiak, 1985) for which there is a measurable SST response
of the Indian Ocean. But how are Indian Ocean SST anomalies produced?
What factors determine the phase and the amplitude of the monsoon annual
cycle? To what degree is the annual cycle influenced by the internal dynamics
of the Indian Ocean as well as the thermodynamical forcing of the radiative
variability?

Is the phase and amplitude of the annual cycle of the monsoon controlled by
factors local to the south Asian and north Australian continents or is there an
appreciable influence from remote variability of the other tropical oceans?
What factors control the interannual rainfall variability of the south Asian
monsoon? Are these factors regional (e.g., SST anomalies in the Indian Ocean)
or are they produced by remote influences such as pacific ENSO variability?
What produces the SST anomalies in the Indian Ocean?

Why are persistent multiyear anomalies of monsoon precipitation relatively
rare over south Asia? Why is the year-to-year variability (as best as can be
estimated from the long-term data from India) of relatively small amplitude?
Is the bienniality of the monsoon rainfall an artifact of the coupled ocean—
atmosphere system?

What are the relationships, if any, between the bienniality of the monsoon, the
Indian Ocean dipole, and longer term interannual variability?

Is the intraseasonal variability of the monsoon a coupled ocean—atmosphere
phenomena and, if so, to what degree?

A basic aim of the next section is to reframe the discussion of the monsoon to one of
coupled ocean—atmosphere processes.

1.4

COUPLED ASPECTS OF THE MONSOON ANNUAL CYCLE

Figure 1.9 shows the annual cycle of the mean SST, near-surface wind vectors, and
OLR for the four seasons: December to February (DJF), March to May (MAM),

June

to August (JJA), and September to November (SON). Some pertinent char-

acteristics are listed briefly:

(i)

In general, the warmest SSTs occur in the boreal spring where 29°C surface
water covers most of the Indian Ocean north of 10°S. Except in the very far
north of the basin, the SST during winter is about 28°C. With the coming of
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Figure 1.9. Mean annual climatology of SST (°C), near-surface wind vectors (m sfl), and
OLR (Wm™2). Data is plotted for the four seasons March, April, and May (MAM), June,
July, and August (JJA), September, October, and November (SON), and December, January,
and February (DJF). MAM is the warmest season in the north Indian Ocean but is depleted in
convection.

summer and the quickening of the monsoon, the SST of the north Indian Ocean
cools, especially in the Arabian Sea. The autumn temperatures are similar to
spring but cooler in general by about a degree. In all seasons, the maximum SST
gradient occurs south of the equator. Maximum SSTs exist in both hemispheres
about the equator during the MAM (i.e., boreal spring and austral fall).
Collectively, the combined anomalies from both hemispheres contribute to
build the largest warm pool of water on the planet at that time of the year.

(i) The lower tropospheric circulation of the Asian summer monsoon is much
stronger than its wintertime counterpart and possesses a concentrated cross-
equatorial flow in the western Indian Ocean compared with the broader, but
weaker, reverse flow during the boreal winter. South of 10°S persistent south-
easterly trade winds persist throughout the year extending northwards to the
equator during the boreal summer.
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(i) During the summer, maxima in convection (low OLR) occur over south Asia
with weaker extensions over equatorial North Africa and in the near-equatorial
southern hemisphere. During the boreal winter, an elongated band extends
across the Indian Ocean and north Australia culminating in a broad
maximum over Indonesia and north Australia. Convection over Asia is
located farther poleward than its southern hemisphere counterpart, and the
circulations are not symmetrical between the seasons. Perhaps the most inter-
esting aspect of these climatologies is the lack of variation of SSTs between
seasons. Most notably, the SST appears to change little during the boreal spring
over much of the north Indian Ocean despite weak winds and high insolation.
Similarly, the winter SST in the north Indian Ocean is only a degree or so cooler
than in the fall or the spring despite significant reductions in surface heating.

1.4.1 Macroscale forcing of the monsoon annual cycle

One of the critical aspects of Figure 1.9 from an oceanographic perspective is the
reversing cross-equatorial, low-level atmospheric flow. This flow results from an
oscillating cross-equatorial pressure gradient. Tomas and Webster (1997) and
Tomas et al. (1999) considered the impacts of cross-equatorial pressure gradients
on near-equatorial circulations. These studies were more interested in symmetric
instabilities produced by the pressure gradient and their impact on the location of
the Intertropical Convergence Zone (ITCZ) in different regions of the planet.
However, much earlier Levitus (1987) noted that the near-surface, cross-equatorial
winds in the Indian Ocean region results in a net cross-equatorial ocean heat
seasonal to the south during the boreal summer and northwards during the boreal
winter. Levitus’s results have been born out by subsequent studies compared in
Figure 1.6. Both the symmetric instability arguments of Tomas and Webster
(1997) and the reversing cross-equatorial Ekman heat flux of Levitus (1987) turn
out to be important.

How does the cross-equatorial pressure gradient arise? Figure 1.10 describes the
annual cycle of the tropospheric thermal structure. In Figure 1.10(a) the horizontal
distribution of the 200-500-mbar layer mean temperature is plotted for boreal
summer (Figure 1.10(a), left) and winter (Figure 1.10(a), right). The shaded region
shows a mean temperature warmer than —26°C. During summer a planetary-scale
warm air mass is centered on south Asia with the maximum average layer tempera-
ture (>—22°C) over the southern Tibetan Plateau, resulting in strong temperature
gradients in both the north—south and east—west directions. A warm temperature
ridge exists over the North American continent, and a deep temperature trough
stretches from the west coast of North America to the central Pacific. A similar
trough lies over the Atlantic Ocean. The upper tropospheric flow pattern during
summer identifies clearly the thermal contrast between continents and oceans (e.g.,
Krishnamurti, 1971a,b). The boreal winter presents a very different structure. A
much smaller section of the globe (north-east of Australia) is warmer than —26°C.
A warm temperature ridge lies over South America, and a slightly weaker ridge
covers Australia.
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Figure 1.10. (a) Mean upper tropospheric (200-500 hPa) temperature (°C) for the boreal
summer (JJA), and boreal winter (DJF), averaged between 1979 and 1992. The boreal
summer plot is based on calculations first made by Li and Yanai (1996). Mean columnar
temperatures warmer than —25°C are shaded. (b) Annual cycle of the mean 200-500 hPa
temperatures at 90°E and 30°N, 5°N, 15°S, and 30°S. (c) Annual cycle of the mean
latitudinal 200-500 hPa temperature gradients between 30°N—5°N, 30°S-5°S, and 30°N-30°S.
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Figure 1.10. (cont.)

Figure 1.10(b) shows the longitudinal structure of the annual cycle of the upper
tropospheric (200-500-mbar) temperature anomaly for the entire year along 30°N,
5°N, 15°S, and 30°S. The anomaly is calculated by subtracting out the mean zonally
averaged annual cycle of the columnar 200-500-mbar mean temperature along the
particular line of latitude. The 30°N section cuts through the temperature maximum
over the Tibetan Plateau. Temperature anomalies begin to change from negative to
positive in April near 90°~100°E. The temperature increases over Eurasia during
summer are much larger than those over North America. The maximum temperature
anomaly (9°C) occurs in the region of the Tibetan Plateau (between 60° and 105°E).
Smaller maxima of mean temperature anomalies occur over North America and west
Africa. In contrast, there is no appreciable change in the upper tropospheric tem-
perature along 5°N (Figure 1.10(a), top right), which is mostly over the oceans. The
southern hemisphere sections at 15° and 30°S are weak counterparts of the section
along 30°N. Compared with the >9°C anomaly found over the Tibetan Plateau,
anomalies have magnitudes of only 3°C at 30°S.

The longitude—time sections of the difference of the mean upper tropospheric
(200—-500 mbar) temperature between 30° and 5°N, (upper panel), 30° and 5°S (center
panel), and between 30°N and 30°S are plotted in Figure 1.10(c). All temperature
differences >6°C are shaded. The reversal of the meridional temperature gradient
occurs first on the south side of the Tibetan Plateau (near 90°-100°E) and then
expands over a large area extending from Africa to the western Pacific. The tem-
perature difference reaches maximum values (>6°K) in July and becomes negative
between September and October. Li and Yanai (1996) found that the onset of the
Asian summer monsoon is concurrent with the reversal of meridional temperature
gradient in the upper troposphere south of the Tibetan Plateau, as originally
suggested by Flohn (1957). A small region of reversed temperature gradient may
also be seen over North America.

The temperature gradients in the southern hemisphere never reverse. That is, at
all times the mean temperature at 30°S is cooler than at 5°S because of the strongest
heating occurring very close to the equator. Although Australia is a large continent,
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Figure 1.11. Time-latitude sections of annual cycle of (a) SST, (b) sea level height, and (c)
surface currents, respectively, using Reynolds (1988) SST data, the TOPEX/POSEIDEN
satellite altimeter, and (d) ship-drift.

Figures courtesy of Dr. Weiqing Han, Program in Atmospheric and Oceanic Sciences, University of Colorado.

the heating is not elevated as it is over the Himalayas. Thus, the major heating
remains close to the north coast of the continent and close to the equator. Geos-
trophic adjustment is extremely rapid at very low latitudes, and it is difficult for a
local temperature maximum to be maintained. On the other hand, geostrophic
adjustment to the elevated heating over the Himalayas is sufficiently slow to allow
the development of a substantial pressure field and a warm core. However, the
monsoon should be viewed in a cross-equatorial context. Figure 1.10(c, right-hand
panel) shows that there are still strong cross-equatorial pressure gradients that drive
the boreal winter monsoon. These gradients, not as large as those occurring in the
boreal summer, are the result of the intense radiational cooling over north Asia
during winter.

The annual cycle of quantities that are important to ocean—atmosphere interac-
tion, and which result from the imposition of the large-scale forcing described in the
paragraphs above, are shown in Figures 1.11 and 1.12. Figure 1.11(a—) shows the
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Figure 1.12. Time-latitude sections of the annual cycle of (a) 850-hPa zonal wind component
(ms™!) at 15°N, and (b) the heat flux (Wm_2) into the north Indian Ocean averaged from the

equator to 20°N.
Data from NCEP/NCAR Reanalyses (Kalnay et al., 1996).

annual cycle of SST, sea level height anomaly, and surface current fields. The left-
hand panels show observed values (Reynolds, TOPEX, and ship drift) and the right-
hand columns show the model simulations for the HYCOM ocean model. All three
fields show a strong annual cycle. Figure 1.12 shows mean climatological annual
cycles of the 850-hPa zonal wind component and the heat flux into the north Indian
Ocean. Of primary importance are the relatively weak winds in the boreal spring in
the 0-20°N band accompanied by the very strong heat flux into the north Indian
Ocean.

1.4.2 The surface heating—SST tendency paradox

One of the major outstanding problems of the climate is how the amplitude and
phase of the annual cycle of the tropics, such as the cycle described above for the
Indian Ocean, adopts the form observed. This problem has been the subject of
intensive discussion especially with respect to the western Pacific Ocean following
the introduction of the ‘thermostat hypothesis’ by Ramanathan and Collins (1991).
Here, we are particularly interested in the regulation of SST distribution in the
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Indian Ocean because of the close association between the magnitude of the SST and
the vigor of the ensuing monsoon (e.g., Clark et al., 2000).

Determining the surface heat balance of the tropical oceans is difficult, and large
differences may occur between estimates. This should not be surprising as the surface
heat balances are relatively small sums of larger terms. Furthermore, these large
terms are obtained from empirical rules, some of which are not known accurately
(Godfrey, 1995). Estimates of the net surface heat flux into the ocean using data from
the TOGA Coupled Ocean—Atmosphere Response Experiment (TOGA COARE;
Webster and Lukas, 1992; TOGA COARE, 1994), appears to be between 10 and
20 Wm 2 (Godfrey, 1998).

Unfortunately, the surface heat balance is less well known in the Indian Ocean.
Table 1.2 provides estimates of the annual cycle of surface flux for the north Indian
Ocean during the boreal spring and early summer using the Comprensive Ocean—
Atmosphere Data Set (COADS; Oberhuber, 1988). Estimates are listed for the entire
north Indian Ocean and for regions north of 10°N and between the equator and
10°N. The daily mean solar radiation into the north Indian Ocean is >200 W m >
during the spring months and 181 Wm ™ over the entire year compared with an
annual average of about 145W m~? for the western Pacific (Webster et al., 1998).

Table 1.2. The components of the surface heat balance for the north Indian Ocean (a) north
of the equator, (b) from the equator to 10°N, and (c) north of 10°N. Units are W m~2. The net
solar radiation, net long-wave radiation, latent heat flux, sensible heat flux, and the net flux at
the surface are denoted by S, LW, LH, SH, and NET, respectively. Data from COADS
(Oberhuber, 1988). Heating rates of a 50-m layer for the entire north Indian Ocean are
shown in the right-hand column (K yr~").

dT/dt

Flux (Wm™2) S LW LH SH NET (Kyr ™
(a) Entire north Indian Ocean

DJF 125 —57 —103 —4 15 2.2

MAM 223 —49 —82 -2 90 13.4

JA 190 -39 —117 -0 34 5.1

SON 187 —48 —88 -3 50 7.5

Annual 181 —48 —98 -2 47 7.1
(b) North Indian Ocean equator to 10°N

DJF 181 —49 —96 —4 24

MAM 202 —47 —88 -3 65

JJA 178 —42 —116 -2 17

SON 186 —46 —87 —4 50
(¢c) North Indian Ocean north of 10°N

DJF 174 —6l —105 -5 3

MAM 232 —48 —74 —1 112

A 191 —35 —113 0 44

SON 179 —47 —88 -2 42
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The annual net surface flux averaged over the entire north Indian Ocean is about
+50 W m™2 or at least a factor of two or three larger than in the western Pacific
warm pool (Godfrey et al., 1998). Overall, it is relatively clear (taking uncertainties
into account) that over the year there is a much stronger flux of heat into the north
Indian Ocean than into the western Pacific Ocean (e.g., Hastenrath and Lamb, 1978;
Hsiung et al., 1989; Oberhuber, 1988; Hastenrath and Greischar, 1993). Further-
more, there is a far larger seasonality in this flux than in the western Pacific Ocean
with maximum values occurring in spring and early summer.

It is a simple matter to estimate the changes in SST resulting just from the
observed net fluxes (Table 1.2). The simplest way is to assume that the net flux is
spread through an upper ocean layer of some defined depth for which the heating
rate may be written as:

dlfﬁLanet
dt pC, dz

(1.2)

Heating rates, assuming a 50-m surface layer, are listed in the right-hand column of
Table 1.2. Alternatively, one may use a sophisticated 1-D mixed-layer model to make
the same computation. Webster er al. (1998) used the model of Kantha and Clayson
(1994) finding results quite similar to those listed in Table 1.2. Both sets of calcula-
tions suggest very different behavior in the evolution of SST than observed in nature.
Figure 1.9 shows a rather gradual change in SST from one season to another whereas
the calculations listed in Table 1.2 suggest that the north Indian Ocean would be
continually warming at an annual rate >7°C yr~!. If this were the case, the observed
cyclic equilibrium noted in Figure 1.9 would not be achieved. On the other hand,
using flux values for the Pacific Ocean suggests a net warming of about 1-2°C yr .

It is clear that the Ramanathan and Collins (1991) mechanism cannot regulate
SST in the Indian Ocean. The warmest SSTs on the planet during spring and early
summer are not associated with convection (Figure 1.9) so that there is no cloud
shielding to mitigate the solar radiation flux at the surface. Furthermore, the second
class of theories for regulation of the SST in the Pacific Ocean (Fu et al., 1992;
Stephens and Slingo, 1992; Wallace, 1992; Hartmann and Michelson, 1993) also
cannot solve the problem; winds remain light during the boreal spring and early
summer, and evaporation is relatively low (Figure 1.9).

It is also clear that the ocean must play an extremely important dynamic role in
achieving the cyclic equilibrium of the mean annual cycle. As summarized by
Godfrey (1995, p. 12):

... on annual average there is positive heat flux into the Indian Ocean, nearly everywhere
north of 15°S. The integral of the net heat influx into the Indian Ocean over the area
north of 15°S ranges between 0.5-1.0 x 10'° W, depending on the climatology. Thus, on
the annual mean, there must be a net inflow of cold water (into the north Indian Ocean),
and a corresponding removal of warmed water, to carry this heat influx southward, out
of the tropical Indian Ocean ...

Oceanic meridional heat transports of heat or significant thickening of the mixed
layer represent the only means that allow the large net annual surface heating of the
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north Indian Ocean to be removed without raising the SST substantially. It should
be noted that Godfrey (1995) were referring to annually averaged ocean heat trans-
ports. In the next section we will show that the annual average is made up of seasonal
swings with amplitudes that vary between +2 PW.

1.4.3 The role of ocean dynamics in the annual heat balance of the Indian Ocean

To understand the role of dynamical transports by the ocean, Loschnigg and
Webster (2000) used the McCreary et al. (1993) dynamic upper ocean model,
which incorporates full upper ocean dynamics and thermodynamics. Although
there is little subsurface data in the Indian Ocean, the model has been shown to
replicate the surface structure of the Indian Ocean, as well as its annual cycle, when
the ocean model is run in stand-alone mode with prescribed atmospheric forcing
(Loschnigg and Webster, 2000). The instantaneous northward heat flux between two
positions along a line of constant latitude is defined as:

F= Pwa” HvT dx dz (1.3a)

where H, T, and v are the depth, temperature, and meridional velocity component.
The heat storage in a volume is defined by

S = prWJH HT dx dy dz (1.3b)
Xy

Xyz

Figure 1.13(a) shows the annual cycle of meridional ocean heat transport and heat
storage changes in the north Indian Ocean forced by the annual cycle of climatolo-
gical winds and heating. The net surface flux into the north Indian Ocean appears to
have a semiannual variation due to the combination of net solar heating and cooling
by evaporation. Evaporative cooling is largest in the summer associated with the
strong monsoon winds. There is also a second maximum in winter associated with
the winter monsoon. Solar heating also has two minima: in summer where cloudiness
has increased with the onset of the monsoon and in winter because of solar declina-
tion. Together, these two complicated heating mechanisms provide the double
maximum evident in Figure 1.13(a). The major components of heat flow are
between the transport and storage terms. A very strong southward flux of heat is
evident during the spring and early summer, and a reverse flux is evident during the
winter, when the north Indian Ocean is losing considerable amounts of heat by both
evaporation, and vertical turbulence mixing which entrains colder water from below
the thermocline. The net heat flux across the equator is made up of opposing flows in
the upper and lower layer of the model and may be thought of as a seasonally
reversing meridional ocean circulation (McCreary et al., 1993). The magnitude of
the net southward flux across the equator during the spring and summer months
more than makes up for the excess surface flux into the north Indian Ocean, with
peak summer magnitudes of meridional heat transport reaching values of 2 PW.
Whereas the changes in heat storage had been anticipated by earlier studies (e.g.,
Vonder Haar and Oort, 1973), the strong role of advection was not anticipated.
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Figure 1.13. (a) Annual cycles of northward ocean heat transport across the equator
(equation 1.3a), the net flux of heat into the north Indian Ocean, and the changes in heat
storage (equation 1.3b) in the north Indian Ocean. (b) Latitude—time section of the annual
cycle of northward ocean heat transport in the Indian Ocean. (¢) Latitude—time section of the
annual cycle of the northward flux of latent heat averaged throughout the troposphere. In the
two lower panels, dashed lines indicate negative (southward) transport. Units in PW.

Figure 1.13(b) displays a latitude—time section of the annual cycle of the clima-
tological meridional oceanic heat flux averaged across the basin. The year is divided
into a period of northward heat flux in winter and spring, and a slightly stronger
southward heat flux between late spring and early fall. Maximum transport occurs at
all seasons close to 10°S near the zone of maximum SST gradient. Figure 1.13(c)
shows a similar plot but for the northward flux of latent heat throughout the
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troposphere. Comparing Figures 1.13(b) and (c) we find a remarkable feature — the
dynamic heat transport in the ocean is equal and opposite to the direction of the
atmospheric latent heat flux. That is, the oceans are transporting as much heat from
the summer hemisphere to the winter hemisphere as the atmosphere is transporting
from the winter to the summer hemisphere. That is, to zeroth order, the heat balance
of the ocean—atmosphere system is closed.

More insight can be gained by exploring the heat storage term in the equations
above. There are two components to the storage term, one relating to the change in
depth of a layer of a certain temperature and one relating to the change of tempera-
ture of a layer of a fixed depth. Formally, these two components integrated in the
vertical through the ocean column, may be written as:

Sar() = puC. [0 2 v ay (1.42)
and
s = puC[| 7020 (1.4b)

Figure 1.14 (from Sahami, 2003) shows the two components of the storage terms
plotted with the net surface heat flux and the northward meridional heat transport.
During the winter, heat storage due to depth change is positive and almost
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Figure 1.14. Annual cycle of the energy balance of the north Indian Ocean with the rate of
heat storage broken down into storage associated with a temperature change with a constant
depth of the mixed layer, and that associated with changes in depth of the mixed layer at
constant temperature, as expressed in equations (1.4a) and (1.4b). The figure shows clearly
that heat storage in the basin can change either through a deepening of the upper layers and/or

by increasing temperature. Units in PW.
From Sahami (2003).
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completely matched by storage changes due to temperature. During spring, the
polarity changes but with the storage change due to depth outweighing the other
component. Only during the summer are the two storage terms of the same sign. The
relationship between the meridional transport of heat and the change of temperature
of the north Indian Ocean (represented by Sar) is complicated. During spring and
summer the two track each other very well. However, the relationship is contrary
during autumn and winter when the transport and Sy, track each other. Thus,
although the transport of heat in and out of the north Indian Ocean matches the
total heat content of the north Indian Ocean when the surface heat flux is taken into
account, the changes in heat content are not always manifested as changes in surface
temperature. In a sense then, one should talk about these processes in terms of
regulation of the heat content of the north Indian Ocean rather than the SST.

1.4.4 Regulation of the annual cycle: an ocean—atmosphere feedback system

From the calculations above, it is clear that without ocean transport across the
equator and changes in the heat storage of the north Indian Ocean, the cross-
equatorial buoyancy gradient during early summer would be very large. Yet the
processes that accomplish the cross-equatorial transport of heat in the ocean are
essentially wind driven (Mohanty et al., 1996; McCreary et al., 1993; Godfrey et al.,
1995). In turn, the atmospheric circulation is driven by surface fluxes and heating
gradients associated with the buoyancy gradient and atmosphere—land interaction.
Thus, the annual cycle in the Indian Ocean is a coupled phenomenon resulting
from ocean-land—atmosphere interactions and balanced, to a large extent, by
cross-equatorial oceanic transports. The form of interaction between the atmo-
spheric monsoon flow and the ocean transport results from a coupled ocean—
atmosphere feedback. A critical element of the meridional heat transport is that it
is accomplished, to a large degree, by Ekman processes, a point that has been noted
in previous work by Levitus (1987).

Figure 1.15 shows a schematic representing the regulation of the annual cycle in
the monsoon system. The two panels represent summer and winter with relatively
warm water (shaded) in the northern basin during summer and in the southern basin
during winter. Surface winds, similar to those shown in Figure 1.9, are super-
imposed. In each season there is a strong flow from the winter to the summer
hemisphere with a characteristic monsoon ‘swirl’. The divergent part of the wind
field (not shown: see Webster ef al., 1998) is also down the pressure gradient and
from the winter to the summer hemisphere. The broad gray arrows represent the
ocean Ekman transports associated with the surface wind forcing. Irrespective of the
season, the Ekman transports are from the summer to the winter hemisphere. The
total effect of the feedback is to cool the upper ocean of the summer hemisphere and
warm the winter hemisphere, thus reducing the SST gradient between the summer
and winter hemispheres. These transports are sufficiently large to be responsible for
reducing the heating of the upper layers of the summer hemisphere to values less
than those in Table 1.2. In summary, the amplitudes of the seasonal cycle of the
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Figure 1.15. Schematic of regulation of the seasonal cycle of the Indian Ocean for (a) the
boreal summer (June-September) and (b) the boreal winter (December—February). Curved
solid lines indicate near-surface winds forced by the large-scale pressure gradients associated
with the cross-equatorial heating gradient denoted by ‘warm’ and ‘cool’ (cf., Figure 1.10).
Small gray arrows denote wind forces, Ekman drift, and the direction of the associated heat
flux. The large vertical arrow denotes the sense and magnitude of the net zonally averaged heat
flux reverses. Overall, the wind-driven southward flux of heat in the summer tends to cool the
north Indian Ocean, while the northward flux during the winter tends to heat the north Indian
Ocean, thereby reducing the SST gradient at all times of the year. The coupled ocean—
atmosphere interaction described in the figure imposes a strong negative feedback on the
system regulating the seasonal extrema of the monsoon.

monsoon are modulated through the negative feedbacks between the ocean and the
atmosphere.

1.5 INTERANNUAL VARIABILITY OF THE COUPLED
MONSOON SYSTEM

Figure 1.16 shows the difference of the near-surface wind fields between strong and
weak monsoon years, defined in terms of the monsoon index shear index (M, defined
in equation 1.1) and represents a more detailed version of Figure 1.4. In agreement
with earlier analyses of Webster and Yang (1992) and Webster ez al. (1998), the
difference fields show a tendency for an increase in westerlies across the Indian
Ocean region during strong years or, alternatively, an increase in low-level easterlies
during weak years. There are important local manifestations of these difference
fields. In strong monsoon years the south-westerlies toward east Africa are
enhanced while, at the same time, there is an increase in onshore flow toward
Sumatra. In weak monsoon years there is the reversal of the wind vectors. The
form of the difference fields shown turn out to be of critical importance in under-
standing the manner in which the monsoon is regulated. This is because the changes
in winds between the monsoon extremes occur in regions where major upwelling
occurs.

An example of the impact of changing wind regimes on the Indian Ocean may
be seen through the impact of an El Nifio. Figure 1.17 presents a schematic
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Figure 1.16. Differences in 925-hPa wind fields between strong and weak monsoons as defined
in Figure 1.4. Shading denotes regions where upwelling or downwelling will be enhanced or
reduced.

representation of the changes in zonal stresses between a non-El Nino and an El
Nino period. Clear changes in the sea surface slope occur in both ocean basins. Also,
the location of upwelling changes as well. In the case of the Indian Ocean, the
upwelling regions change from the western to the eastern equatorial Indian Ocean.
Such patterns are consistent with both El Nifio forcing and a weak boreal summer
monsoon.

1.5.1 Modes of interannual variability in the monsoon

The wavelet analysis (Figure 1.3) suggested the existence of monsoon variability with
discrete periods. Here we consider major frequency bands longer than the annual
cycle. These are the biennial period (first discussed by Yasunari, 1987, 1991;
Rasmusson et al., 1990; and Barnett, 1991), and multiyear variability that appears
on ENSO timescales. Within the biennial period we include the newly discovered
Indian Ocean dipole (Webster et al., 1999; Saji et al., 1999; Yu and Rienecker, 1999,
2000).

1.5.1.1 Biennial variability

The interannual variability of monsoon rainfall over India and Indonesia—Australia
shows a biennial variability during certain periods of the data record (Figure 1.1). It
is sufficiently strong and spatially pervasive during these periods to show prominent
peaks in the 2-3-year period range, constituting a biennial oscillation in the rainfall
of Indonesia and east Asia (Tian and Yasunari, 1992; Shen and Lau, 1995) as well as
in Indian rainfall (Mooley and Parthasarathy, 1984). The 2-3-year oscillation
referred to as the tropospheric biennial oscillation (TBO) in order to avoid
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Figure 1.17. Schematic of the wind fields along the equator across the Pacific and Indian
Oceans during El Nifio and non-El Nifio periods. With mean convection occurring over the
warm pool of the western Pacific Ocean and Indonesia, the Indian and Pacific Oceans are
forced by the converging winds of the surface arms of the Walker circulations. This leads to a
deepening of the mixed layer in the eastern Indian Ocean and western Pacific Ocean and the
promotion of upwelling on the other side of both basins. With an ENSO warm event and the
castward displacement of the Pacific/Indonesian convection, the Pacific and Indian Ocean
Walker cells weaken. The wind reversal leads to a flattening or even a change in sign of the
along-equator sea surface height gradient and a reversal of the locations of upwelling.

confusion with the stratospheric quasibiennial oscillation (QBO), appears to be a
fundamental characteristic of Asian—Australian monsoon rainfall.

The rainfall TBO appears as part of the coupled ocean—atmosphere system of
the monsoon regions, increasing rainfall in one summer and decreasing it in the next.
The TBO also possesses a characteristic spatial structure and seasonality
(Rasmusson et al., 1990; Ropelewski et al., 1992). Meehl (1994a) stratified ocean
and atmospheric data relative to strong and weak Asian monsoons. Meehl (1994a)
found specific spatial patterns of the TBO with a distinct seasonal sequencing.
Anomalies in convection and SST migrate from south Asia toward the south-east
into the western Pacific of the southern hemisphere following the seasons. Lower
tropospheric wind fields associated with the TBO in the SST fields possesses an
out-of-phase relation between the Indian Ocean and the Pacific Ocean basins
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(Ropelewski et al., 1992) with an eastward phase propagation from the Indian Ocean
toward the Pacific Ocean (Yasunari, 1985; Kutsuwada, 1988; Rasmusson et al.,
1990; Ropelewski et al., 1992; Shen and Lau, 1995) providing possible links
between monsoon variability and low-frequency processes in the Pacific Ocean
(Yasunari and Seki, 1992; Clarke et al., 1998).

Explanations for the TBO fall into two main groups:

(i) The TBO results from feedbacks in the seasonal cycle of the atmosphere—ocean
interaction in the warm water pool region, especially in the western Pacific
Ocean. For example, Clarke et al. (1998) suggests the oscillation may be
produced by an air—sea interaction instability involving the mean seasonal
wind cycle and evaporation. They argue that similar instabilities are not
possible in the Indian Ocean and that Indian Ocean oscillations found there
are the result of Pacific instabilities.

(i1) Biennial oscillations occur as a natural variability of the monsoon coupled
ocean—atmosphere—land monsoon system. As distinct from the views
expressed in (i), the source of the biennial oscillation is thought to reside in
the Indian Ocean. Nicholls (1983) noted a seasonal change in the feedback
between the wind field and surface pressure. In the monsoon westerly (wet)
season the wind speed anomaly is negatively correlated to the pressure
anomaly, while in the easterly (dry) season it is positively correlated. The
wind speed anomaly, on the other hand, is negatively correlated to the SST
change throughout the year through physical processes such as evaporation
and mixing of the surface ocean layer. Nicholls suggested that a simple combina-
tion of these two feedbacks in the course of the seasonal cycle induces an
anomalous biennial oscillation. Meehl (1994a,b, 1997) substantiated Nicholls’
hypothesis but focused on the memory of the oceanic mixed layer. That is, when
large-scale convection over the warm water pool region, associated with seasonal
migration of the ITCZ and the monsoon, is stronger (weaker), the SST will
eventually become anomalously low (high) through the coupling processes
listed above. The anomalous state of the SST, thus produced, would be main-
tained through the following dry season and even to the next wet season. In turn,
the SST anomaly produces weaker (stronger) convection. In this class of hypoth-
eses the ocean—atmosphere interaction over the warm water pool appears to be
of paramount importance.

A schematic diagram of the four phases of Meehl’s biennial monsoon system
(Meehl, 1994a) is shown in Figure 1.18. The first panel depicts the winter season
prior to the first monsoon season showing anomalously warm SSTs in the central
and western Indian Ocean and cooler SSTs in the eastern Indian Ocean and the
Indonesian seas. Anomalously warm SSTs in the Indian Ocean herald a stronger
monsoon supposedly by a heightened surface hydrological cycle (panel 2). This is
consistent with the empirical results of Clark ez al. (2000). A stronger monsoon is
accompanied by stronger wind mixing and evaporation, which leads to cooler SSTs
in the central and eastern Indian Ocean. A reversal of the east-west SST gradient
produces a stronger north Australian monsoon (panel 3). In turn, the colder than



40 The coupled monsoon system [Ch. 1

Figure 1.18. Schematic evolution of the biennial component of the monsoon circulation. (a)
The winter before a strong Asian monsoon through. (b) The strong monsoon season. (¢) The
northern winter after the strong monsoon before a weak monsoon. (d) The following weak

monsoon.
From Meehl (19%4a).

normal Indian Ocean leads to a weak Indian summer monsoon (panel 4). The theory
also notes that a strong south Asian monsoon is preceded by a strong east African
monsoon and a weak south Asian monsoon by a weak east African monsoon.
Presumably, the oscillation of the east African monsoon is associated with the
change of the longitudinal SST gradient.

The sequence of SST change shown in Figure 1.18 follows observations quite
closely including the oscillation of precipitation from year to year (Figure 1.1).
Whereas it is very clear that the oscillation of the SST in the Indian Ocean is
indelibly tied to the variability of the monsoon rains, there are two problems with
the theory. First, there is no satisfactory explanation for the change in the SST
gradient along the equator. That is, why does the SST change in any one
location? Second, it is difficult to account for the persistence of SST anomalies for
the 9 months between the end of one summer season and the start of the next.
Clearly, thermodynamical processes alone cannot accomplish this. In fact, the e-
folding time of a 50-m mixed layer with a 1°K anomaly at 303°K is between 40—
60 days. There must be dynamical ocean processes at work in the Indian Ocean that
increase the persistence of the anomalies.

Fasullo (2004) tested the hypothesis that asserts a biennial alternation exists
between successive strong and weak Indian monsoon summer seasons. The basic
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technique was to categorize the strongest and weakest monsoon seasons from 1871
to 2001, and compare the mean rainfall in the summer seasons that precede and
follow them. He found that for the strongest monsoon seasons, statistically signifi-
cant associations with the preceding summer rains exist that are consistent with the
biennial hypothesis. In contrast, for years following the strongest monsoon seasons,
and for years that both precede and follow the weakest monsoon seasons, significant
biennial associations are largely absent. When the relationship with ENSO is con-
sidered, significant associations are found that act both in opposition to, and in
support of, the biennial hypothesis. Often, weak or deficient summer rains precede
strong La Nifia seasons, and strong summer rains follow weak El Nifio seasons. The
sequences identified are associated with transitions between El Niflo and La Nifia
conditions. However, in contradiction to the biennial hypothesis, it is also found that
following strong La Nina seasons, average monsoon rainfall lies significantly above
its climatological average, and the frequencies with which both deficient and weak
monsoon seasons occur are significantly below their expectation values. Further-
more, during years in which ENSO conditions are near neutral, evidence of bi-
enniality is poor. It is clear that more work needs to be done regarding biennial
variability in the monsoon and the tropics in general. However, we will find the
association of the biennial oscillation and ENSO, as found by Fasullo (2004), is
quite consistent with the general theory of monsoon regulation presented in
Section 1.7.

1.5.1.2 The Indian Ocean dipole or zonal mode

Between July 1997, and the early summer of 1998, the strongest seasonal SST
anomalies ever recorded occurred in the Indian Ocean. During this period, the
equatorial gradients of both SST and SSH reversed with cooler surface temperature
in the eastern basin and warmer in the west. These anomalies occurred in conjunc-
tion with strong easterly wind anomalies across the equatorial Indian Ocean. The
anomalies in SST and SSH persisted for almost a year and coincided with the 1997—
1998 El Nifio. The mean November conditions over the Indian Ocean and south
Asia are shown in Figure 1.8.

Figure 1.19 (color section) shows longitude—time sections of daily values of SST
(°C) and 850-hPa zonal wind (ms™!) averaged between 5°N and 5°S for the period 1
January 1997 through 1 July 1998. It is clear from Figure 1.19(a) that the positive
dipole pattern (warm in the west, cool in the east) is apparent as early as July 1997.
The rapid decrease in eastern Indian Ocean SST occurs in September and the rapid
rise in SST in the west later. Westerly wind anomalies (Figure 1.19(b)) existed as
early as July (consistent with the SST gradient) before accelerating in October 1997
as the SST gradient increased.

There are two peculiar features of the SST patterns. The first is the boomerang-
shaped positive SST anomaly pattern found in November 1997 (Figure 1.8(a)). The
second is the lag of the formation of the warm anomaly in the west relative to the
formation of the cool anomaly in the eastern Indian Ocean (Figure 1.19(a), color
section). Webster et al. (1999) ascribed these peculiarities to the existence of strong
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ocean dynamics in the transitions taking place in the Indian Ocean during the summer
and fall of 1997. Hints of these processes can be seen in the sea level height longitude—
time plots shown in Figure 1.20(a—c; color section). In each panel there are clear
differences in propagation speed as marked by the dashed arrows. For example,
along the equator (panel a), westward propagation occurs at roughly 40° of
longitude in 3.5 months. At 5°S (panel b), the speed of propagation is about 40° of
longitude in 4 months. At 12°S (panel c) the propagation speed has reduced to 40° in
10 months. With evidence of the dependence of phase speed variability as a function
of latitude and the direction of propagation, Webster et al. (1999) were confident that
downwelling ocean Rossby waves were responsible for the evolution of the sea height
ridge in the western Indian Ocean.. The wave characteristics describe both the lati-
tudinal and temporal lags noted in Figures 1.8(a) and 1.19(a).

Figure 1.21 (color section) shows a series of TOPEX/POSEIDON images of sea
level height across the Indian Ocean for five 10-day periods from late November
1997 to early January 1998. The letters ‘C’ and ‘D’ show features of the height field
identified in the mean November field (Figure 1.8(d)). Clear eastward propagations
of elevated sea level height can be seen.

Another interesting feature of the equatorial latitude—height fields
(Figure 1.20(a), color section) is the relatively rapid eastward propagation in mid-
spring of 1997. Starting in the western Indian Ocean at the beginning of April 1997,
the positive height anomaly propagated across the entire basin in two months. This
is an example of an eastward propagating equatorial Kelvin wave first found by
Halpern et al. (1988). Further analysis showed this to be an upwelling Kelvin wave.
The 1997-1998 event received considerable attention (e.g., Webster et al., 1999; Saji
et al., 1999; Yu and Rienecker, 1999, 2000). Following the summer of 1998, the SST
pattern changed polarity with anomalously warm water occupying the eastern
Indian Ocean with cold water in the west.

The 1997-1998 event was not an isolated event. In fact, over the last few years
there has been a sequence of positive and negative dipole events in the Indian Ocean.
Analysis of Indian Ocean SST data reveals that the 1997-1998 and 1961 events, the
events receiving the most interest were members of a class of oscillations involving an
oscillation of SST anomalies between the east and west tropical Indian Ocean.
Reverdin et al. (1986) and Kapala et al. (1994) refer specifically to an event of
similar magnitude in 1961. Earlier, in 1996, the SST distribution was very similar
to that found in 1998. Figure 1.22(a) shows a time section of the September—
November (SON) dipole index (defined by Clark et al., 2000b similarly to the
index defined by Saji ez al., 1999). The index oscillates between positive (anomalously
warm west, cold east) and negative (anomalously cold west, warm east) values. It
also plots the July—September Nifo 3.4 SST anomaly and the October—December
‘short’ rains over east Africa. Strong correlations exist between all three variables
although a period exists in the mid-1980s where the correlations drop to insignificant
levels for nearly a decade (Figure 1.22(b)). Overall, the correlation between the
dipole index and Nifio 3.4 temperatures is strong ranging between 0.6 for the
June-August period to 0.7 for the October—December period, exceeding in both
periods the 95% confidence level (Figure 1.22(b)).
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Figure 1.22. (a) Characteristics of the I0OZM I0D. Normalized values of the (a) June—
September I0ZM Index, the October-December rain in the Kenya region, and the JAS
Nifio 3.4 SST index. The IOZM index is defined identically to Saji et al. (1999). (b) 10-year
sliding correlations of the three indices listed in (a) with each other. Whereas the IOZM and
the Nifio 3.4 indices stay relatively constant throughout the period, correlations with the OND

rainfall fall off through the 1990s.
Adapted from Clark et al. (2000).

Since the identification of the IOZM or (I0D), over 170 papers have appeared in
major scientific journals discussing its physical nature and its impact on local and
remote climates. Because of the relative abundance of data and the magnitude of the
event, the 1997-1998 positive event has been studied extensively. There are a number
of points that have emerged from these studies that are pertinent to subsequent
discussion:

(i) The association of the Indian Ocean dipole with the El Nifio of 1997-1998, or
with the ENSO phenomena in general, remains unclear. Saji et al. (1999) for
example, states that there is little or no relationship between ENSO and the
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Figure 1.23. Annual cycle of the monthly Kenyan rainfall (solid thin line) vs. a composite of
the Kenyan rainfall during El Nifio periods (dashed line). The rainfall during the 1997-1998
period is shown as the solid heavy line. In general, during an El Nifio, the ‘short rains’ in east
Africa (October—December) are slightly above average. However, the ‘long rains’ (March—
May) show little change. But in the 1997-1998 period, rainfall in both wet periods were the
highest since 1961.

(ii)

(iif)

dipole. This latter claim, made using correlations with annual ENSO param-
eters, disappears when seasonal parameters are used as we have shown in
Figure 1.22(a). Based on correlations between ENSO and the dipole, Reason
et al. (2000) argue that the dipole is simply an extension of the ENSO influence
in the Indian Ocean. Webster et al. (1999) state that the dipole is *... arguably
independent of ENSO ...’ based on the magnitude of the 1997-1998 event
relative to normal influences of El Nifio on the Indian ocean. Figure 1.23 illus-
trates this point. The figure shows the rainfall in the Kenyan region for the
period under discussion. Whereas the associations between SST and rainfall
during the 1997-1998 event are of the same sign as the normal excursions
occurring during El Nifio, they are orders of magnitude larger. Furthermore,
during 1997-1998 the climate patterns around the Indian Ocean rim were very
different from those normally associated with El Nifio. Although the El Nifio
was the strongest in the century, monsoon rains were normal in south Asia and
north Australia when drought may have been expected. Arguably, in 1997—
1998, climate anomalies around the basin could be more closely associated
with the anomalous conditions in the Indian Ocean than in the Pacific.

It is clear that ENSO variability may be associated with many dipole events, but
it may not be involved in all. Figure 1.22(b) shows significantly reduced correla-
tions between Nifio 3.4 SST anomalies, the dipole index, and east African
rainfall in the 1950s and 1960s. Instead of slightly increased rainfall in east
Africa, the rainfall was the largest positive anomaly of the century, even
larger than the 1961 excursion. Finally, large dipole events have occurred that
are not matched by ENSO extrema, most notably the 1961 event documented
by Reverdin ef al. (1986) and Kapala et al. (1994).

Figures 1.24 and 1.25 (color section) show composites of SST computed for all
positive and negative dipole events occurring between 1950 and 2002. Saji et al.
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(1999) and Webster et al. (1999) note that the signature of the dipole commences
in the early summer. This is true for both composite positive and the negative
phases of the dipole. Positive events (Figure 1.24) are evident in June and both
phases reach maximum amplitude in the mid to late boreal fall. The signatures
of both phases have essentially disappeared by the following June.

(iv) Webster et al. (1999) suggest that the dipole is a coupled ocean—atmosphere
instability that is essentially self-maintaining. As such, it is more properly
described as a mode. Analyses suggest that the initial cooling of the eastern
Indian Ocean sets up an east to west SST gradient that drives near-equatorial
anomalous easterlies. In turn, these winds change the SSH to tilt upwards to the
west. Relaxation of SSH anomalies, in the form of westward propagating and
downwelling ocean Rossby waves, depress the thermocline in the west and
enhance the warming of the western Indian Ocean. The slow propagation of
these modes (1-2ms~!), and the manner in which they maintain the warm
water by deepening the thermocline, assures that the dipole is a slowly
evolving phenomena. Figure 1.26 (color section) provides a schematic descrip-
tion of the evolution of the positive phase IOZM. The figure depicts the IOZM
as a distinctly coupled ocean—atmosphere phenomenon.

Later, we will argue that the IOZM or IOD is not an isolated entity but rather a
component of the overall coupled ocean—atmosphere monsoon system. We will
argue that the IOZM is a form of rectification of a system under the action of a
strong cross-equatorial pressure gradient that occurs when the system is forced from
equilibrium by external factors such as ENSO, stochastic influences, low-frequency,
mid-latitude events, or land-surface processes associated perhaps with springtime
anomalous snow cover over Eurasia.

1.5.1.3 Interannual variability of the monsoon and other factors

The statistical relationships shown in Table 1.1 and the wavelet analyses of Figure 1.3
indicate, to a significant degree, a common co-occurrence of monsoon variability
and ENSO extremes. This relationship begs the question of when during the annual
cycle does anomalously strong or weak monsoon seasons commence? To help
answer this question, mean monthly circulation fields are composited for the weak
and strong monsoon years defined earlier.

Figure 1.27 shows the south Asian composite annual cycle of upper and lower
tropospheric zonal wind fields in the south Asian sector for strong and weak
monsoons. In essence, the figure portrays the composite annual cycle of the
monsoon index M defined in equation (1.1). At the time of the summer monsoon
when the anomalous monsoon is defined, both the low-level westerlies and the upper
level easterlies are considerably stronger during strong monsoon years than during
weak years. But what is very striking is that the anomalous signal in the strength of
upper level easterlies during strong years precedes the anomalous monsoon by many
months. During strong years, the 200-hPa flow is 5-6ms ' less westerly than
preceding weak monsoon years. In contrast, differences in the state of the lower
troposphere between strong and weak years are not evident until late spring and
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Figure 1.27. Composite of the annual variation of the 50 and 200-hPa zonal wind component
in the south Asian region for years defined as strong and weak monsoon years (Figure 1.4).
Note that the anomalous upper tropospheric winds are apparent some months before a strong
or weak monsoon. However, such a signal is not apparent in the lower troposphere until late

spring.
After Webster and Yang (1992).

summer. This surmise is supported by what is known about tropical convective
regions. Noting that in monsoon regions and the tropics in general, enhanced
upper tropospheric winds are usually accompanied by an enhanced lower tropo-
spheric flow of the opposite sign. But this is clearly not the case prior to the
strong monsoon, suggesting that the modulation of the upper troposphere
probably results from remote influences.

1.5.2 Interannual modes in ocean heat transport

If the monsoon is indeed a coupled ocean—atmosphere system then there should be
oceanic variability occurring on the same timescales as atmospheric variability. To
test this hypothesis, Loschnigg and Webster (2000) forced the McCreary et al. (1993)
dynamic ocean model with NCEP/NCAR winds for the period 1984-1990 to enclose
the El Nifio—La Nifna doublet of 1987-1988. Chirokova and Webster (2004) extended
these integrations for the period 1958-1998. In the results discussed here, 5-day
average fields were used to force the model. In both cases NCEP/NCAR wind
data was used and radiative forcing was obtained from Bishop and Rossow (1991).

Figure 1.28 shows components of the heat balance of the north Indian Ocean for
three time periods (1969-1973, 1984-1988, and 1994-1998) of the total 40-year
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Figure 1.28. Time series of the components of the north Indian Ocean heat budget for the
periods 1969-1973, 1984-1988, and 1994-1998. The seasonal cycle has been removed and a
nine-point smoothing has been applied. Curves denote net heat flux (long dashed line), rate of
change of heat storage (short dashed line), and meridional ocean cross-equatorial heat
transport (solid line). Interannual anomalies occur at all times of the year and are of a

similar magnitude to the mean annual cycle shown in Figure 1.13(a). Units in PW.
After Chirokova and Webster (2005).

integration made by Chirokova and Webster (2005). The sections show cross-
equatorial heat transports, heat storage change, and net heat flux into the Indian
Ocean north of the equator. For clarity, the heat flux has been shaded and a nine-
point running average has been used for all three components, with the annual cycle
removed. The total period contains nine El Nifio and eight La Nina periods. Each
component shows large interannual variability. Amplitudes of the variability are
nearly as great as the climatological annual cycle (cf. Figure 1.13). Also, the varia-
bility occurs at all times throughout the year.
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Figure 1.29. Composites of the annual cycle of differences in northward cross-equatorial

ocean heat transports between El Nifio and La Nifia (solid curve) and strong and weak

monsoons (dashed curve). Units in PW.

The time series were stratified relative to years exhibiting ENSO extrema and
also relative to strong and weak monsoons as defined. Figure 1.29 shows the differ-
ences in heat fluxes between El Nifio and La Nifia and strong and weak monsoons as
defined earlier for Figure 1.4. The differences are large and systematically correlated
with the annual cycle. During a strong monsoon season, the anomalous flux is
southward early in the boreal summer and negative during the boreal autumn.
This enhanced southward transport during spring would seem consistent with
stronger surface winds associated with the strong monsoon driving a stronger
Ekman drift. The El Nifio—La Nifia composite is also consistent with the fact that
an El Nifio is normally associated with a weak monsoon, lighter surface winds, and
reduced southward Ekman transport of heat across the equator. The reversed fluxes
that occur in both of the cases is interesting and may be associated with a weakening
(strengthening) of the monsoon induced by the changes in SST associated with the
anomalous fluxes earlier in the season. Such a transport reversal may also be con-
sistent with the biennial signal found in the region.

The long-term annual mean southward flux of heat across the equator is about
0.2 PW, matching the net annual surface heating of the Indian Ocean north of the
equator (Godfrey, 1995). Given the magnitude of the anomalies shown in
Figure 1.29, it would not be surprising if there were considerable interannual varia-
bility in the three components of the heat balance. In fact, this is the case. Figure 1.30
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Figure 1.30. (a) Annually averaged heat budget for the north Indian Ocean. (b) Latitude—time
distributions of the annually averaged meridional cross-equatorial heat transports including
the long-term seasonal mean. (c¢) Same as (b) but with the annual average removed. Data from
ocean model integrated from 1958-1998. Note the strong biennial tendency of the heat
transport and that the anomalies tend to have the same sign on both sides of the equator

and also extend across much of the basin. Units in PW.
After Chirokova and Webster (2005).

shows the time sections of the annual means of the components of the heat balance.
Figure 1.31 shows the spectra of the cross-equatorial heat balance in the 1-10-year
range.

Figure 1.30(a) plots the annual averages of the three components for the 40-year
period 1958-1998. The net flux oscillates from between —0.4 PW in 1974 to a slightly
positive value of +0.01 PW in the following year. Furthermore, rather than having a
zero change in heat storage from year to year, the north Indian Ocean shows an
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Figure 1.31. Power spectra of the cross-equatorial heat transport for periods between 1 and 10
years. The annual cycle has been removed by subtracting the first four harmonics. The 99%
confidence level is calculated from the chi-square distribution, assuming a theoretical red-noise
spectrum (Gilman et al., 1963). The spectrum has been smoothed by a five-point running

average. Each point has 10 degrees of freedom.
After Chirokova and Webster (2005).

ability to store heat in one year and lose it in another. For example, in 1965, 1973,
and 1987, the net storage increased while in 1960, 1972, and 1988, the heat storage
decreased. The net annual heat flux, on the other hand, is much more constant.
There appears to be some evidence of considerable changes in the dynamic state
of the Indian Ocean during the El Nifio and La Nifia years when the greatest
deviations from the long-term average oceanic net meridional heat transport take
place. Finally, as large changes in the heat transport and storage occur throughout
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the period, while relatively small changes occur in the net heat flux into the north
Indian Ocean, one can only assume that the changes are principally due to differ-
ential wind forcing of the Indian Ocean.

Figure 1.30(b) shows annual averages plotted as a function of latitude. As seen
in Figure 1.13(b), the largest zonally averaged heat transports occur near 15°S. At
this latitude, the heat fluxes range in values from —0.1 to —0.6 PW. An interesting
observation is that if a maximum occurs at 15°S then it appears to occur at all
latitudes. That is, the entire tropical Indian Ocean is anomalous in a manner con-
sistent with changes occurring at the location of maximum flux. To check, the mean
heat flux at each latitude was removed. Figure 1.30(c) shows the resulting anomalies
plotted against latitude and time. In general, coherent variations with latitude appear
from year to year. Furthermore, there seems to be a strong biennial component. This
feature is corroborated by the spectra of variability shown in Figure 1.31. The peak
at 2 years surpasses the 99% confidence level. A broader peak in the 3—5-year band
surpasses the 95% level possibly indicating influences of ENSO in the annually
averaged heat transports.

1.5.3 Intraseasonal ocean heat transport

It is interesting to look in detail at the differences in heat transport in the Indian
Ocean for two years exhibiting considerable differences in the annual averaged
characteristics. Let us choose 1997 and 1998 and plot the heat transport as a
function of latitude and time in each case in Figures 1.32(a) and (b). A general
annual cycle of heat transport is apparent in both years with northward transport
during the winter and early spring and southward transport during summer. In that
sense, both plots are broadly reminiscent of Figure 1.13(b). But two features require
discussion. First, the heat transport shows very strong intraseasonal variability,
suggesting a response of the ocean to high-frequency wind forcing. Second, the
annual transport is —0.1PW in 1987 and —0.25PW in 1998 (Figure 1.30(a)).
These anomalies are made up in different ways. There was considerable stronger
southward transport of heat during the summer of 1988 compared with 1987.
However, the northward heat transport was much stronger during the winter of
1987 than 1988.

1.5.4 Interannual regulation of the monsoon

Figure 1.15 proposes a coupled ocean—atmosphere regulatory system of the
monsoon annual cycle that reduced the amplitudes of seasonal variability in both
hemispheres. It is a simple matter to extend the argument to embrace interannual
variability and form a model of regulation on these longer timescales. Such a system
is shown schematically in Figure 1.33. Assume, for example, that the north Indian
Ocean SSTs were warmer than normal in the boreal summer (left panel). The ensuing
stronger monsoon flow would produce greater Ekman drifts and thus fluxes of heat
to the winter hemisphere in the same manner found in Figure 1.15. If the north
Indian Ocean were cooler than average for some reason (right panel), then one
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Figure 1.32. Zonally integrated heat flux averaged across the Indian Ocean for 1987 and 1988
which were weak and strong monsoon seasons, respectively. Data from the integrations of
Loschnigg and Webster (2000) using the intermediate ocean model of McCreary et al. (1993)
forced by 5-day average winds and net surface heat flux from NCEP/NCAR Reanalyses.
Rather than the smooth patterns found in Figure 1.13(b), each year shows strong intraseaso-
nal variability. Units in PW.

would expect a reversal in compensation through a reduced Ekman drift from the
lighter surface winds. In a sense, the interannual regulation described here is very
similar to the Meehl (1994a) theory shown in Figure 1.18. Like the Meehl theory, the
natural timescale of the oscillation is biennial. In addition, because ocean heat
transport is an integral part of the theory, it adds a dynamic element to Meehl’s
theory. In fact, the system described in Figure 1.33 is reminiscent of the situation
found for 1987 and 1988 in Figure 1.32.
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Figure 1.33. Same as Figure 1.15 except for the regulation of the interannual monsoon system
and the impact of an anomalously strong and weak monsoon on the Indian Ocean. A strong
monsoon which, from Figure 1.4 is related stronger than average low-level monsoon flow,
drives an enhanced southward Ekman heat transport. A weak monsoon, on the other hand, is
associated with a reduced Ekman heat transport. Following the reasoning of Meehl (1994;
Figure 1.18), the tendency will be to produce an anomalous monsoon of the opposite sign the
following year and introduce a strong biennial component into the system. The impact is to
regulate the interannual variability of the monsoon.

However, the system suggested in Figure 1.33 is rather incomplete. It does not
account for the influence of ENSO in the Indian Ocean but merely suggests how the
coupled monsoon system will respond to an imposed SST anomaly. Nor does the
theory take into account the IOZM. Later, in Section 1.7 we will attempt to include
all of these features in a holistic theory of monsoon regulation.

1.6 COUPLED ASPECTS OF MONSOON
INTRASEASONAL OSCILLATIONS

Intraseasonal variability of the monsoon occurs over vast spatial scales extending
over the entire equatorial Indian Ocean, the Bay of Bengal, continental south Asia,
and even the southern hemisphere subtropics. Figure 1.34 (color section) shows the
composite precipitable water content (PWC) for the active period of the monsoon
and a break period. PWC is the equivalent amount of liquid water equaling the total
amount of water vapor in an atmospheric column. The active and break periods used
in the composite were determined by the low-frequency precipitation variability over
central India and are listed in Webster et a/. (1998). During an active period, above-
average and coherent PWC anomalies extend from the Arabian Sea to the dateline in
a general north-westerly—south-easterly orientation, a distance of 10,000 km. During
the composite break period a reverse configuration exists with a PWC maximum
extending along the equator and a minimum over south Asia. Such large scales of
low-frequency variability are apparent in multiple data sets such as precipitation,
OLR, and wind fields (see Webster et al., 1998), and bring periods of extended
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drought and rainfall on 20-40-day timescales throughout the region, as discussed
earlier in Section 3.4. The important point to be gathered from Figure 1.34 (color
section) is that intraseasonal variability of the monsoon is not restricted to the
littoral zones or their adjacent seas in south Asia but that it exists over the entire
Indian Ocean basin.

1.6.1 The composite MISO

Figure 1.35 shows time-latitude sections of MSU precipitation for the years 1987
and 1988. Arc or boomerang shaped precipitation maxima appear to emanate slowly
from the equator toward both the north and south. These features appear every 20 to
40 days (the scale of monsoon interannual variability) and propagate from the
equator to 30°N in about 10 days. The southward leg tends to dissipate relatively
rapidly, presumably because it propagates over colder water. Similar patterns have
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Figure 1.35. Latitude—time sections of MSU satellite precipitation product for the years 1987
and 1988 along 90°E. In general, precipitation emanates from the equator to both the northern
and southern hemispheres. The northward leg becomes the active phase of the south Asian
monsoon. Note that the periods of enhanced precipitation along the equator correspond to the
enhanced meridional heat flux shown in Figure 1.32.
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been noted by a number of earlier studies (e.g., Sikka and Gadgil, 1980; Yasunari,
1980; Webster, 1983; Hartmann and Michelson, 1993; Srivasian et al., 1993).
Lawrence and Webster (2001) suggest that the bifurcating cyclonic vortices or
troughs represent trailing Rossby waves behind a rapidly propagating Kelvin
wave, in agreement with the earlier conclusions of Wang and Rui (1990). The
northward propagating convection, associated with the vortex in the eastern
Indian Ocean, appears as a consistent precursor of an active phase of the south
Asian monsoon.

A comparison of Figures 1.35 and 1.32 shows that there is direct connection
between intraseasonal events in the atmosphere and intraseasonal variability in the
ocean. In both 1987 and 1988 ocean heat transport maxima match the timing of
occurrence of the atmospheric MISO events. It is clear that the atmosphere invokes a
strong dynamic response in the ocean on intraseasonal timescales. However, it is less
clear that the ocean, so forced, invokes changes on the atmosphere.

Lawrence and Webster (2002) extended an earlier analysis by Webster et al.
(1998) by categorizing and compositing over 58 MISOs in the 24 summers from
1975-1999. Composites were based on the existence of a prolonged relative
minimum in OLR (i.e., deep convection) in the eastern Indian Ocean (0.5°N, 85—
90°E) on 20-80-day timescales (see Lawrence and Webster (2002) for details on
compositing strategy). A regression technique was used similar to that developed
by Kiladis and Weickmann (1992). Figure 1.36 shows composite OLR anomalies
identified by this process. Lawrence and Webster (2002) found that about half of the
MISOs developed in situ in the eastern Indian Ocean. The remainder of the events
developed in the western Indian Ocean before propagating at a rate of 3-4ms™'
toward the east. All of the events, irrespective of their genesis regions, showed
distinctive 2ms~' northward propagation speeds as well as a southward, less
extensive extension into the southern hemisphere. MISOs developing in situ (right-
hand panels) do not appear to propagate eastward into the Pacific Ocean. The
composite patterns shown in Figure 1.36 were essentially independent of the base
location in the Indian Ocean or south Asian region (Lawrence and Webster, 2002)
indicating that the dominant physical processes determining convection in the Indian
Ocean/south Asian region were essentially the same. A recent study using satellite
data (Wang et al., 2004) ties together the features shown in Figure 1.36 in the context
of a basin-wide, self-induction process of the coupled ocean—atmosphere system.
This study poses the hypothesis that a MISO is a coupled ocean—atmosphere phe-
nomenon. We will refer to the Wang et al. (2004) study later.

The reason for the poleward extension of convection into both hemispheres in
the eastern Indian Ocean is not known except that the propagation occurs as a
trailing Rossby wave behind the eastward convectively coupled Kelvin—Rossby
packet (Wang and Rui, 1990b). It is noted, however, that because of the
proximity of the heated continent to the north (e.g., Webster, 1983), and the
ensuing meridional cross-equatorial pressure gradient, it is possible for low-
frequency instabilities to be produced as suggested by Tomas and Webster (1997)
and Tomas et al. (1999). In any event, the northward moving branch of the bifurca-
tion becomes the active period of the monsoon as it moves northward through the
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Propagation characteristics of composite MISO
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Figure 1.36. Composited satellite derived OLR (W m~2) as a function of latitude (upper row)
and longitude (lower row) from 58 MISOs displayed 20 days before and after maximum
prolonged precipitation occurs near the equator in the 75°-85°E longitude band. The three
columns represent composites for (i) for all 58 MISOs, (ii) for MISOs that formed in the
eastern Indian Ocean and continued to propagate eastward, and (iii) for MISOs that formed in
the eastern Indian Ocean. These locations were chosen to monitor the variation of major
convection associated with a MISO as it propagates along the equator and bifurcates

poleward in the eastern Indian Ocean.
Adapted from Webster and Hoyos (2004) and Lawrence and Webster (2002).

Bay of Bengal from where it extends across central India and south Asia and into the
western Pacific Ocean. Prior to the bifurcation and when convection is a maximum
in the east Indian Ocean along the equator (day zero of the composite) the Indian
subcontinent is generally dry and in a break phase.

Figure 1.37 shows composite longitude—latitude maps of OLR, SST, and 925-
hPa winds relative to day ‘0’ of the intraseasonal mode. This base day is defined as
the occurrence of strong (>8 mm day ') precipitation lasting for more than 3 days at
80°—90°E and 5°N-5°S of the equator. The OLR composite (Figure 1.37(a)) shows
organized and large-scale convection moving to the eastern Indian Ocean over a
period of about eight days. Upon reaching the eastern Indian Ocean, the convective
mass ‘bifurcates’ with the northern element moving slowly up through the Bay of
Bengal and eventually over east India, Bangladesh, and South-east Asia. Convection
increases along the west coast of India after day +4 coinciding with the spin up of the
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active phase of the monsoon. The southern element moves southward and eastward,
forming an elongated cloud band across Australia. The southern element, which is
not as long-lived or intense as its northern counterpart, is still responsible for the
winter hemisphere precipitation maximum just south of the equator. There is also
some evidence that these southern branches are responsible for roughly 40% of the
wintertime Australian rainfall. Nicholls (1989) found such associations on inter-
annual timescales and Fasullo and Webster (1999) on shorter timescales.

The SST fields (Figure 1.37(b)) also show a coherent variation over the period of
the composite MISO. Anomalous warming along the equator early in the MISO
period yields to cooling as very deep convection builds up over the eastern Indian
Ocean. These changes in SST are directly related to basin-scale variations in the
lower tropospheric wind field (Figure 1.37(c)). The evolution of the wind field in
the composite has three main periods: general anomalous counterclockwise circula-
tion before the growth of convection along the equator, then strong convergence into
the western end of the convection as the convection moves east, and finally a
strengthening gyre with bifurcation of the troughs.

Figure 1.37 show that the SST has a basin-wide maximum near day —10 and a
minimum at day +5. These extremes correspond to a minimum in the strength of the
monsoon westerlies and a maximum in OLR (minimum in convection). However,
the maximum in convection leads maximum monsoon winds and minimum SST by
about 5 days, indicating a coupling between the atmosphere and ocean on intra-
seasonal timescales. The results are similar to those found by Fasullo and Webster
(1999) for the tropical Indian Ocean. In addition, intraseasonal oscillations in the
TOGA COARE region of the western Pacific possess similar phase relationships
(Fasullo and Webster, 1999).

Although the SST variations represent coherent patterns across the entire Indian
Ocean, the extrema are fairly small, ranging between 0.2 C through the phases of
the intraseasonal oscillation. However, it is likely that the magnitudes of SST varia-
bility displayed in Figures 1.7(b) and 1.8, and computed from the Reynold’s SST
fields, are much smaller than those that are actually associated with the monsoon
oscillation. SST variations measured during intraseasonal variations occurring in
TOGA COARE showed variability between a half and an order of magnitude
larger (e.g., Webster, 1994; Godfrey et al., 1998). Similar variations were encoun-
tered during the Joint Air-Sea Monsoon Interaction Experiment (JASMINE;
Webster et al., 2001b). Furthermore, Sengupta and Ravichandran (2001) have
shown, using moored buoys, that SST in the Bay of Bengal varies about +£1°C
through an intraseasonal oscillation. The reason for the underestimation may
result from the fact that the Reynold’s SST is a 5-day average and is computed
from satellite data that is regressed to match ship observations which are perhaps
more representative of subsurface temperatures than surface skin SST.

1.6.2 MISO and ocean heat transport

It is unclear from these SST changes, however, whether or not the wind variations
produce a dynamic response in the ocean and whether this response is important to
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(a) OLR Evolution of Composite Monsoon Intraseasonal Oscillation
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(b) SST Evolution of Composite Monsoon Intraseasonal Oscillation
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Figure 1.37. Spatial plots of the composite evolution of anomalous (a) OLR (Wm™2), (b) SST
(°C, Reynolds, 1988), and (c) 925-mb wind variability (with MSU precipitation rate >8 mm
day™ " superimposed), relative to the composite monsoon intraseasonal oscillation configured
from 39 events in the 1985-1995 period. Composite distributions were computed for 15 days
on either side of day 0. The annual cycle was removed from all fields. Day ‘0’ is defined as the
occurrence of >10mmday ' precipitation (persisting four days) at 90°E. Panels (a)—(c) show
composite OLR, SST, and NCEP/NCAR Reanalysis 925-mb wind field relative to day 0. Each

member of the composites is described in detail in Webster and Tomas (1997).
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(c) Composite 925 mb wind vectors and precipitation (>8mm/day)
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the overall heat balance of the Indian Ocean. In the absence of sufficient data to
answer this question, we turn to results from the McCreary et al. (1993) intermediate
ocean model.” We use the same MISO dates used for the earlier MISO compositing
(Figures 1.36 and 1.37) and calculate the heat flux through the MISO period 15 days
either side of Day 0. Figure 1.38(a) and (b) show the composite zonal and meridional
wind stress along the equator. There is virtually no anomalous meridional wind
stress associated with a MISO event (Figure 1.38(a), bottom panel). However, the
zonal component contains a large signal of about 0.5 dyne cm ™~ in the eastern Indian
Ocean at day 0. Typical values of wind stress in the eastern Indian Ocean vary
between 2 and 8 dynecm 2. Figure 1.39(b) shows the composite oceanic heat
transport associated with a MISO. Maximum values occur near the equator with
values of —0.7 PW. Integrating through the complete MISO from —15 to +15 days
gives a net southward transport of —0.3 PW after the annual cycle and long-term
mean has been removed. The heat transport to the south by one typical MISO is
substantial in magnitude and similar to the net annual mean southward transport

3 Dr. Weiging Han of the Program in Atmospheric and Oceanic Sciences at the University of
Colorado, Boulder, kindly made the calculations used in Figure 39.
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Figure 1.38. Ocean response to intraseasonal wind forcing. (a) The composite zonal (upper
panel) and meridional (lower panel) wind stress relative to intraseasonal oscillations used in
Figure 1.36. Day ‘0’ refers to the maximum precipitation in the eastern Indian Ocean. There is
little signal in the meridional wind stress but a strong westward zonal wind stress in the eastern
Indian Ocean: (b) The composite meridional heat flux associated with a monsoon intraseaso-
nal oscillation. Near day 0 there is an anomalous southward transport of —0.7PW.
Calculations made available by Dr. Weiqing Han, University of Colorado, using the
McCreary et al. (1993) intermediate ocean model.
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Figure 1.39. A schematic of the humidistat feedback showing its three principal phases. (fop)
The cycle of SST is a simple depiction of the SST variation as a function of time and is used as
a reference for defining the three phases of the feedback. (middle) The schematic of how the
atmospheric temperature and moisture changes during these phases defined with respect to the
SST cycle. (bottom) Changes of cloud conditions and associated wind field and heating

changes are indicated.
From Stephens ef al. (2004).

(Figure 1.30). Thus, there is clear evidence of a role for the MISO in the heat budget
of the Indian Ocean. However, whether or not the net northward heat transport
would be the same with or without (e.g., forced with mean monthly fields) intra-
seasonal oscillations is not known. It would seem relatively simple numerical experi-
mentation could answer this question.

1.6.3 MISO and the onset of the monsoon

The onset of the monsoon can be defined as the first major intraseasonal oscillation
accompanied by a northward propagation of the precipitation maximum from the
equator into the Bay of Bengal region. For example, the monsoon onset in 1987
(Figure 1.35, upper panel) follows enhanced precipitation at the equator in early
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June. In 1988 (Figure 1.35, lower panel), the onset defined in this manner occurred
about two weeks earlier. This definition is very different from traditional definitions
(e.g., Rao, 1976), which emphasize the beginning of persistent rainfall at the
southern tip of India. However, in most years precipitation occurs in the northern
Bay of Bengal much earlier than precipitation in the south-east of India. Subsequent
discussion will show that precipitation along the east coast of India occurs with the
acceleration of the monsoon gyre after the first major monsoon intraseasonal oscilla-
tion matures and moves northward into the northern Bay of Bengal. Viewing the
monsoon from a wider perspective allows the possibility of defining a monsoon
within a larger geophysical context.

1.6.4 Intraseasonal variability and the self-regulation of the monsoon system

Two recent studies (Stephens et al., 2004; Wang et al., 2004) have provided evidence
of tropical intraseasonal variability as a self-regulating coupled system. The first
paper deals with intraseasonal variability more generically. The second paper
specifically refers to the MISO and an Indian Ocean context. The earlier papers of
Lau and Sui (1997) and Fasullo and Webster (1999) are also pertinent to the cycling
suggested in both Stephens et al. (2004) and Wang et al. (2004).

Stephens et al. (2004) divide the complete intraseasonal oscillation cycle into
three phases. The first phase is the destabilization phase. Here, the atmosphere
becomes increasingly unstable through a combination of radiative cooling of the
upper atmosphere, the gradual warming of the SST, and the development of
shallow boundary layer cumulus humilis. Next, large-scale convection develops
over the region, resulting in heavy precipitation, a deepening of the oceanic
mixed-layer, a lowering of the SST, and a considerable moistening of the upper
troposphere. This is called the ‘convective phase’. Finally, there is a restoring
phase where, through the combination of strong winds associated with the convec-
tion (which keeps the surface SST cool) and the enhancement of radiative heating of
the upper troposphere, high clouds associated with the high humidity stabilize the
atmosphere and suppress convection. Figure 1.39 shows a schematic of the three
phases of the Stephens et al. (2004) sequence. Each phase of this the self-regulating
system shown was observed in great detail during JASMINE (Webster ef al., 2002a).

The Wang et al. (2004) MISO sequence involves a total of eight phases. As the
study involves a description of the associated atmospheric dynamics as it responds to
the heating cycles involved in the Stephens et al. (2004) paper, it requires a greater
temporal definition. Phase 1 shows a minimum rainfall in the eastern Indian Ocean
and active monsoon precipitation over India. In all of the eight phases, the complete
ocean basin is considered. For example, during Phase 1 the influence of precipitation
over India is related to the genesis of the next MISO over the eastern Indian Ocean.
Subsequent phases describe a northward propagation of the MISO when the con-
vective elements reach the eastern Indian Ocean and the subsequent active monsoon
period over India. The Wang et al. (2004) paper is also unique because it uses
Tropical Rainfall Measuring Mission (TRMM) data to describe the 3-D evolution
of clouds and dynamics through the MISO cycle.
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There have been suggestions that there is a strong connection between the MISO
and the interannual variability of the monsoon. For example, Ferranti ez al. (1997)
noted that EOF patterns of interannual variations were essentially the same as those
for intraseasonal variations. In accord with Hendon ef al. (1999) for the north
Australian summer monsoon, Lawrence and Webster (2001) noted that fewer
MISOs occur in a strong monsoon and more with a weak monsoon and that in
El Nifio periods there is a tendency for there to be greater intraseasonal activity.
Palmer (1994), Webster et al. (1998), and Goswami and Mohan (2001) came to the
common conclusion that the MISO was the fundamental building block of inter-
annual variability that might explain the common patterns shared by intraseasonal
and interannual variability. Modeling studies (Ferranti et al., 1997) show that
principal intraseasonal and interannual components map onto each other,
suggesting that interannual variability of the monsoon is closely tied to intra-
seasonal variations. Whether the same is true for the ocean or for the coupled
ocean—atmosphere system is not known.

1.7 HOLISTIC THEORY OF MONSOON SYSTEM

In Section 1.5, we modified Meehl’s theory by noting that the anomalous monsoon
winds will induce ocean heat transports that will reverse the sign of the monsoon
anomaly. However, there are still a number of issues that need to be considered. For
example:

(i) Whereas there are dynamic elements added to the Meehl theory, one is still faced
with the problem of maintaining an upper ocean temperature anomaly from one
year to the next.

(i1) The regulation theories, either the Meehl theory or the modified Meehl theory,
do not involve the Indian Ocean dipole. It could be possible, of course, that the
dipole is an independent phenomenon. However, the similarity of the basic time
period of the dipole to that of monsoon variability (essentially biennial) and
the fact that the dipole emerges during the boreal summer monsoon suggests
interdependence. The problem, though, is how to incorporate an essentially
zonal phenomena (the dipole) and an essentially meridional phenomena (the
oceanic heat transport) into a general theory of the monsoon.

A theory, shown schematically in Figure 1.40 (color section), that takes into account
these two problems is now developed. The figure displays a sequence through two
monsoon seasons starting (arbitrarily) in the boreal spring. There are three columns
in the figure representing the anomalous meridional oceanic heat transports (column
1), the influence of the anomalous monsoon circulation on the ocean (column 2), and
the evolution of the IOZM (column 3). During the two-year period, the monsoon
goes through both weak and strong phases. At the same time, the IOZM progresses
through a positive and negative phase. We will now argue that the morphology of
the dipole and the monsoon are intimately related.
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(@)

(ii)

(iif)

(iv)

The left-hand column describes essentially the regulation theory discussed in
Section 4.4. The sequence starts with an anomalously cold north Indian Ocean
in the boreal spring (March—May of the first year: MAM:1) that often precedes
a weak monsoon (e.g., Sadhuram, 1997; Hazzallah and Sadourny, 1997; Clark
et al., 2000) in the summer of the first year (JJA:1). A weak monsoon is
associated with a reduced southward heat transport leading to the SST distribu-
tion in the first boreal autumn (SON:2) shown in the second figure of the row. If
the anomaly persists through to the second spring (MAM:2), it will lead to a
strong monsoon in the second summer (JJA:2). Enhanced southward transports
and reduced net heating of the Indian Ocean leads to an anomalously cold
northern Indian Ocean.

Stronger and weaker summer monsoons also influence the ocean system in
other ways. For example, the anomalous monsoon circulation (Figure 1.16)
will influence the upwelling patterns in two major areas: Along the east
Africa coast north of the equator, and along the western coast of Sumatra.
Reduced south-westerly flow off Africa will decrease upwelling while offshore
flow near Sumatra will enhance upwelling. Thus, during the weak monsoon of
JJA:1 the changes in the monsoon circulation will create anomalously warm
water in the west and colder water in the east. On the other hand, the circulation
associated with the strong monsoon in JJA:2 will produce cooler water in the
eastern basin (enhanced south-westerlies) and warmer water in the east (onshore
winds along the Sumatra coast). In summary, changes in the monsoon winds
between strong and weak monsoons can create zonal anomalies in the SST
distribution.

The east—west SST gradients caused by the anomalous monsoon intensities can
lead to enhancements of the zonal SST gradients by coupled ocean—atmosphere
instabilities as described in detail in Webster ez al. (1999) and summarized in
Section 3.1.2. Simply, the SST gradients force zonal wind anomalies that change
the distribution of low-latitude sea level height distribution. During JJA:1, the
sea level height will slope upwards to the west while during JJA:2 it will slope
upwards to the east. Relaxation of the sea level height takes place in the form of
equatorial modes. For example, during the period JJA:1 through DJF:1 the
relaxation will be in the form of downwelling Rossby waves. Besides having a
slow westward propagation they are downwelling and deepen and warm the
western Indian Ocean. In turn, the enhanced SST gradient will produce stronger
easterly winds that will continue to maintain the east-to-west slope of the
surface. Between JJA:2 and DJF:2 the onshore winds towards Sumatra will
deepen the thermocline and enhance the zonal west-to-east SST gradient. In
turn, responding to an increasing SST gradient, the winds themselves will be
enhanced. The important aspect of the dipole is that it introduces slow
dynamics into the system.

Careful inspection of Figure 1.40 (color section) shows that the impact of the
dipole is to enhance the SST distributions associated with meridional heat
transports shown in the first column. For example, the dipole that develops
in the period JJA:1 through DJF:1 will increase the SST in the north-west
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equatorial Indian Ocean. This SST enhancement can be seen by following the
sequence ‘a’ through ‘e’ in Figure 1.40. On the other hand, the second dipole
will cool the SST in the same location. This is the region found by Sadhuram
(1997), Hazzallah and Sadourny (1997), and Clark et al. (2000a) to correlate
most strongly in the winter with the following monsoon. Thus, the role of the
dipole is to enhance and prolong the SST patterns necessary to regulate the
intensity of the monsoon system.

1.8 CONCLUSIONS AND SOME REMAINING QUESTIONS

In the preceding paragraphs, we have developed a theory that regulates the monsoon
on both annual and interannual timescales. The study was motivated by noting that
the surface heat balances in the Indian Ocean do not match the observed evolution
of the SST indicating the importance of ocean heat transports. Furthermore, it
appeared curious that the year-to-year variability of the south Asian monsoon is
relatively small. Thus, the theory of regulation of the monsoon rests on negative
feedbacks between the ocean and the atmosphere. We are now in a position to
address some of the questions raised in the introduction.

Perhaps the most important conclusion is that it is clear that the ocean involves
itself in a dynamic manner in the morphology of the monsoon on all timescales at
least longer than seasonal but perhaps even intraseasonal. Although the ocean is
responding to forcing from the atmosphere, the response is such that a strong
feedback to the atmosphere is produced. This feedback governs the amplitude and
phase of the annual cycle and also modulates interannual variability. That is, the
monsoon system considered holistically is self-regulating.

One of the problems that emerged in earlier theories of monsoon amplitude
regulation (e.g., Meehl, 1997) is that it is difficult to understand how a SST
anomaly pattern produced by an anomalous monsoon persists from one year to
the next. By involving ocean dynamics in the regulation process we have managed
to introduce mechanisms that allow SST anomalies to persist from one year to the
next. This was accomplished by noting that the IOZM is also parented by an
anomalous monsoon through the generation of zonal temperature gradients
between upwelling regions. The slow dynamics of the dipole act to enhance the
zonal SST gradient initiated by the anomalous monsoon irrespective of the sign of
the initial perturbation. As the dipole grows, the SST anomalies so produced occur
in locations that are conducive to the generation of a reverse anomaly in the
monsoon. In other words, the IOZM adds the slow dynamics needed in the Meehl
theory.

An immediate question is whether or not the IOZM is an independent entity or a
function of forcing from the Pacific Ocean. First, there is irrefutable statistical
evidence (Table 1.2) that ENSO variability in the Pacific Ocean produces a
response in monsoon variability. Also, a substantial amount of the variance of the
IOZM can be explained in terms of the Nifio 3 SST variability. However, there are
periods when the dipole and ENSO are unrelated statistically when it is difficult to
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find an ENSO extrema to match the development of the dipole. There may be a way
of resolving this apparent paradox. Let us assume that the dipole is a natural mode
of oscillation in the Indian Ocean in much the same way as El Niflo is a natural
oscillation of the Pacific. Noting again that the IOZM is initiated by an anomalous
monsoon, it is quite possible that a weak monsoon induced by El Nifio will induce, in
turn, a positive IOZM that then acts to reverse the impacts of ENSO during the
following year. But, according to the hypothesis, a dipole will develop relative to an
anomalous monsoon no matter how the monsoon is perturbed. Perhaps in 1961, and
other such years, other factors could have perturbed the monsoon.

The results presented in this study are incomplete. They have depended on a
number of empirical studies and experiments with stand-alone ocean models forced
with atmospheric fields. The complete associations inferred in the conclusions above
are difficult to establish from empirical studies because of the very convoluted nature
of the phenomena. Further work will probably have to await experimentation with
fully coupled ocean—atmosphere land models. Loschnigg et al. (2003) has made such
a start. In their initial experiments with the NCAR coupled climate model they find
considerable corroboration of the self-regulation processes and the associations
between the atmosphere and the ocean described above.

It is fair to say that we are still unclear about the degree to which intraseasonal
variability of the monsoon is coupled to the ocean. Lau and Sui (1997), Fasullo and
Webster (1999), Stephens et al. (2004), and Wang et al. (2004) have provided con-
vincing arguments that variations in the SST and the heat content of the mixed layer
are important. Figures 1.32 and 1.38 show that there is a large variability in the heat
transports associated wind variability of the MISOs. To this degree a MISO is a
coupled phenomenon. What is unknown is whether the heat balance of the Indian
Ocean itself would be the same with or without the existence of intraseasonal
variability.
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The Asian monsoon: Global perspectives
Kevin E. Trenberth, James W. Hurrell, and David P. Stepaniak

2.1 THE GLOBAL SETTING

The term ‘monsoon’ stems from seasonal variations in winds but it is now more
generally applied to tropical and subtropical seasonal reversals in both the atmo-
spheric circulation and associated precipitation. These changes arise from reversals
in heating and temperature gradients between continental regions and the adjacent
oceans with the progression of the seasons, and the extremes are often best char-
acterized as ‘wet” and ‘dry’ seasons rather than summer and winter. Moreover, in
spite of the absence of seasonal migration of the intertropical convergence zones
(ITCZs) over most of the Pacific and Atlantic Oceans between the hemispheres, it is
evident that there is a global monsoon, by which we mean a global-scale persistent
overturning of the atmosphere throughout the tropics and subtropics that varies
with time of year (Trenberth et al., 2000). The reason why the global monsoon
should be emphasized is because of the coordination among regional monsoons
brought about by the annual cycle of the solar heating and the apparent connections
in the global divergent circulation necessitated by mass conservation. The dominant
monsoon systems in the world are the Asian—Australian, African, and the American
monsoons, although the latter has not been clearly identified with wind reversals
(Webster et al., 1998). In these sectors, the wet zone migrates from one hemisphere to
the other following the sun, and the large-scale overturning atmospheric circulation
reverses.

The picture of a monsoon overturning circulation is something like a thermally
driven sea breeze on a larger scale, and therefore modified by the Earth’s rotation, is
however, highly idealized. Moreover, often only the cross-equatorial overturning
comprising the local Hadley circulation has been emphasized: it is referred to as
the ‘lateral monsoon’ in Webster et al. (1998). Strong rising motions in the summer
hemisphere at ~10° latitude are, to some extent, compensated by subsidence at ~20°
latitude in the winter hemisphere. However, in the tropics, a large component of the
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overturning is not meridional but is zonally oriented and is referred to as the “Walker
circulation’ or the ‘transverse monsoon’ for overturning toward the west (Webster
et al., 1998). Over some parts of the tropics, including the tropical central and eastern
Atlantic and Pacific Oceans, the ITCZ resides between ~5 and 10°N year round.
However, it does not follow that the downward branch is similarly anchored.

The 3D character of the atmospheric circulation is dominated by the rotational
(non-divergent) component, which is strongly influenced by the divergent circulation
that is more physically linked to the diabatic processes that force the overall circula-
tion. Hence, in association with the monsoon rains, an upper level anticyclone
accompanies a continental heat low-pressure region at low levels while the reverse
pattern is often seen over adjacent oceans. Large momentum transports occur in the
meridional circulation and strongly influence the subtropical jet streams. The
strongest jet of over 70ms™" lies off the east coast of Asia in boreal winter, while
off the east coast of Australia in austral winter the strongest jet is more than 50ms™".
Both are directly associated with the regions of the globe where and when the
strongest overturning occurs in lower latitudes.

The existence of the direct overturning circulation implies that heat is being
transported to cooler regions. Energy is generated from sources of heating in the
atmosphere and, overall, there has to be transport by the atmosphere and ocean
from source to sink. Heating occurs in the tropics, where it is already hot, and
cooling occurs at higher latitudes. Atmospheric energy is gained in the tropics and
lost at higher latitudes (Webster, 1994; Trenberth and Stepaniak, 2003a). A small
amount is converted to kinetic energy and regained as friction heating. On the whole,
air parcels moving polewards must have a higher moist static energy than air parcels
moving equatorward. In middle latitudes the poleward heat transport is carried out
by transient baroclinic eddies and stationary waves, while in the tropics the transport
is dominated by large-scale overturning (Trenberth and Solomon, 1994; Trenberth
and Stepaniak, 2003a). Thus the Hadley and Walker cells are thermally driven cells
that transport moist static energy (Trenberth and Stepaniak, 2003b). The dominant
energy outflow center, coinciding closely with the region of highest sea surface
temperature (SST) in the oceans, migrates back and forth across the equator
following the sun.

Another key issue is the extent to which one should think of the global monsoon
as a steady circulation (Ramage, 1971), albeit made up of local small-scale disturb-
ances (Fein and Stephens, 1987). Thus, there are active and break periods in regional
monsoons, and many identified subseasonal variations, as well as pronounced inter-
annual variability (e.g., Webster et al., 1998).

Accordingly, in this chapter we set the stage for regional aspects by documenting
the global scales of the atmospheric monsoon circulation, and its links to the surface,
with an emphasis on the annual cycle. A series of fields is produced that relate to the
development of the global monsoon circulation for the two solstitial seasons of
June—July—August (JJA) and December—January—February (DJF) and their differ-
ences, although we note the astronomical definition of the seasons is more appro-
priate over the oceans (Trenberth, 1983). The seasonal differences highlight the
seasonally varying components and they directly relate to the monsoons.
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2.2 DATA

We use the Climate Prediction Center (CPC) Merged Analysis of Precipitation
(CMAP) estimates from Xie and Arkin (1997), the optimal interpolation (OI) SST
analysis of Reynolds et al. (2002), and surface air temperatures from Jones et al.
(1999). At the top-of-atmosphere (TOA), we use the Earth Radiation Budget Experi-
ment (ERBE) measurements of radiation for the period February 1985 to April 1989
(Trenberth, 1997; Trenberth and Stepaniak, 2003b). In the free atmosphere results
are obtained using the National Centers for Environmental Prediction/National
Center for Atmospheric Research (NCEP/NCAR) reanalyses (Kalnay et al., 1996).

A comprehensive description of the divergent circulation of the atmosphere has
been elusive owing to the difficulty of obtaining reliable fields. Errors in observations
are often of the same order as the expected divergent component itself and huge
observational gaps exist over the oceans. Accordingly, the only viable approach is
via 4-D data assimilation (4DDA). Recent results (Trenberth ez al., 2000) from the
two major reanalyses (NCEP/NCAR and European Centre for Medium-Range
Weather Forecasts (ECMWF) (Gibson et al., 1997)) agree reasonably well and
therefore provide a new level of confidence. The NCEP/NCAR results from 1979
to 2001 have also been used to determine the diabatic heating and relationships to
energy transports for the mean annual cycle and the interannual variability
(Trenberth and Stepaniak, 2003a,b).

The series of plots that follow focus on the domain to 60° latitude in order to
allow contours to be selected that reveal the character of the fields (which often are
otherwise dominated by large values in polar regions).

2.3 THE MEAN SEASONAL MONSOON-RELATED VARIATIONS

2.3.1 Basic climate variables

SST is a fundamental coupled variable in climate. It results from both the external
forcing of the planet governed by the orbit of the Earth around the sun and the
resulting radiant fluxes, and through adjustments of the ocean surface to wind fields,
surface fluxes and ocean dynamics. However, from an atmospheric viewpoint, it is
often convenient and useful to think of SST as the lower boundary forcing of the
atmosphere above the oceans. The seasonal mean SST fields for JJA and DJF, as
well as their difference, are given in Figure 2.1 (color section). Warmest waters,
exceeding 29°C, reside in the western tropical Pacific (the ‘Warm Pool’) and
migrate back and forth across the equator with the seasons. Seasonal changes of 2
to 3°C occur in mid-latitudes but the greatest gradients of change occur within the
tropics — the latter tend to become reflected in low-level atmospheric temperatures
and thus sea level pressure gradients and surface winds. Nevertheless, these effects
are fairly modest and tend to be overwhelmed by the rotational component of the
flow.
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The annual range of SST and surface air temperature (Figure 2.2, color section),
measured by JJA minus DJF, highlights land—sea contrasts and relatively small
annual changes over the oceans. These features reflect the very different heat capa-
cities of ocean vs. land and the depth of the layer linked to the surface. The largest
ranges occur over the continents, and except for the subtropical continents of the
southern hemisphere (SH), values are smaller in the SH than in the northern hemi-
sphere (NH) at corresponding latitudes. The largest annual ranges exceed 30°C over
northern continents. The net result is that the large land masses are at least as warm
as the warmest parts of the oceans in summer, but much colder in winter. The
gradients between land and ocean are most pronounced in winter because
radiative losses over land lead to dense air and high surface pressures that make
for a stable atmosphere. In contrast, in summertime, hot land conditions lead to sea
breeze effects which bring in low-level moisture and summertime rains: the
monsoons, that naturally act to cool the surface. Hence the temperatures over
land in summer are partly a consequence of the monsoons and not just a forcing.
Of course the atmospheric circulation also plays a significant role in wintertime in
moderating radiative effects.

Sea level pressure fields (Figure 2.3, color section) reflect many aspects of these
changes. The main features are the subtropical anticyclones that are strongest in the
winter hemisphere and extend to higher latitudes in the northern winter, most
notably in the Siberian High where values exceed 1035hPa. However, the oceanic
anticyclones in northern summer over the Pacific and Atlantic are also strong
persistent features directly linked to regional monsoon circulations (Hoskins, 1996;
Chen et al., 2001; Rodwell and Hoskins, 1996, 2001). Tropical continents are regions
of low pressure, often as part of the monsoon trough. Low pressures extend over the
oceans, especially in the near equatorial trough and Warm Pool region, and vary
over the latter region following the SST changes. The Icelandic Low in the North
Atlantic and Aleutian Low in the North Pacific are strongly evident in winter and
highlight the relative warmth of the northern oceans compared with the neighboring
continents. The circumpolar trough around Antarctica is a related feature but is
present year round owing to the cold high Antarctic continent centered near the
pole. The differences in sea level pressure between the two seasons map the land—sea
contrast in the NH and temperature gradients between hemispheres well. More
subtle effects arise from the tendency for the subtropical highs over the SH to
shift polewards and weaken slightly in summer, away from the subtropical conti-
nents.

Average precipitation amounts (Figure 2.4, color section) better define the
divergent part of the atmospheric circulation and key aspects of the monsoons.
Note that plotting the JJA-DJF differences in mmday ', rather than as a percen-
tage, emphasizes the tropical regions. The ITCZs in the near-equatorial trough stand
out, as does the South Pacific convergence zone (SPCZ) with its south-eastward
extension toward higher latitudes, especially in southern summer. Its extension
often has frontal characteristics and has been referred to as a ‘graveyard’ for
fronts (Trenberth, 1976). Similarly the ITCZ, located about 5-10°N over the
Pacific and Atlantic oceans during the solstitial seasons, is strongest in boreal
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summer. Clearly evident in the precipitation fields is the monsoonal rains over
southern Asia, central Africa, and central and South America, the latter also
involving the South Atlantic convergence zone (SACZ). Although the seasonal
change is most striking over the land areas, it is also quite large over the oceans.
The large-scale pattern of change is one of enhanced rains from 5-15°N, extending to
about 35°N over Asia in northern summer and similarly over about 5°N to 30°S in
the SH summer. In JJA-DJF differences, the dipole structures highlight the
monsoon rains and movement of the primary zones from one hemisphere to the
other.

2.3.2 The atmospheric circulations

The general circulation in the atmosphere is illustrated by flows in the lower tropo-
sphere at 850 hPa and in the upper troposphere at 200 hPa. The total vector winds
for JJA, DJF, and their differences (Figures 2.5 and 2.6) are superposed on contours
of geopotential height at these two levels. The lower tropospheric geopotential height
resembles the sea level pressure field. The equatorial trough in DJF, the major
monsoon trough over Asia in JJA, the subtropical anticyclones with strong south-
east and north-east trade winds, and the higher latitude westerlies are all notable
features. At 200 hPa the strong westerlies in both hemispheres dominate along with
embedded subtropical jet streams that are strongest over east Asia in DJF and east
Australia in JJA. At both tropospheric levels, the dominant flow is the rotational
component that is largely related to the monsoon circulation. For instance, strong
meridional equatorward flow on the eastern side of the subtropical anticyclones is
associated with large-scale subsidence in accord with an approximate Sverdrup
balance whereby v = f0w/0p; where f is the Coriolis parameter, 3 is its meridional
gradient, v is the meridional velocity, and w is the vertical p-velocity whose vertical
derivative is related to the divergence (Rodwell and Hoskins, 2001). Such a relation-
ship, incidentally, also means that the maximum divergence is not in the center of the
anticyclonic circulation. Seager et al. (2003) suggest that interactions of this flow at
the surface with SSTs and ocean dynamics also play a role in strengthening the
features of subtropical anticyclones.

Of more interest with respect to monsoons is the divergent part of the flow itself,
shown with the velocity potential (Figures 2.7 and 2.8) as a very smoothed depiction
of the global-scale divergence field. As low-level convergence at 850 hPa is generally
manifested as upper level divergence at 200 hPa, these fields strongly indicate the
large-scale monsoonal overturning circulations. The JJA-DJF differences are es-
pecially relevant for revealing the seasonally varying flow, with the enormous
Asian—Australian monsoon linked to that in Africa, and the somewhat separate
North and South American monsoons. However, closer examination also indicates
that the upper tropospheric divergence at 200 hPa is not an exact match for the
convergence at 850 hPa. Over Africa, for instance, shallower overturning is often
present in the monsoon (Trenberth ef al., 2000) and an alternative analysis is
desirable to examine the vertical structure of the overturning.

However, we first present the corresponding vertical motion fields at 500 hPa
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Figure 2.5. Geopotential height and vector winds at 850 hPa for 1979-2001 averaged for JJA

(top), DJF (middle), and their difference JJA — DJF (bottom). The contour interval is 5 dam
and the key vector wind is plotted at the lower right corresponding to 8 m sl
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Figure 2.6. Geopotential height and vector winds at 200 hPa for 1979-2001 averaged for JJA

(top), DIF (middle), and their difference JJA — DJF (bottom). The contour interval is 20 dam

and the key vector wind is plotted at the lower right corresponding to 10 m s
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(Figure 2.9, color section). This field is derived from the reanalyses and, while
independent of the precipitation field, is strongly dependent on the assimilating
model. Nevertheless, there is a marked correspondence between Figures 2.9 and
2.4 throughout the tropics and subtropics, indicating the predominance of the pre-
cipitation occurring in association with the mean flow rather than high-frequency
transients. Accordingly, the monsoon rains are associated with zones of upward
motion that switch from south of the equator over Africa, Australia, and South
America in DJF to north of the equator over Africa, Asia, and central America in
JJA. The JJA-DJF differences (Figures 2.9 and 2.4) also agree well with each other
except that the central Pacific ITCZ may be weak in the NCEP reanalyses w field and
the SPCZ a bit too zonal. In other words, some of the differences may not be real.
Nevertheless, these two fields do measure very different things as precipitation occurs
only in upward motion, and therefore transients can lead to precipitation even if the
time-mean flow is for downward motion.

To explore the global monsoon and its vertical structure in more detail,
Trenberth et al. (2000) performed a complex empirical orthogonal function
(CEOF) analysis of the mass-weighted divergent circulation that brings out two
dominant modes with essentially the same vertical structures in all months of the
year. The vertical structure of the first mode (Figure 2.10) is plotted as vectors, with
the arrows free to rotate through 360°. All vectors tend to point either to the left or
right indicating either in-phase or out-of-phase relations, respectively. The vectors
are so arranged that they can be directly interpreted as showing the large-scale
overturning in the upper and lower branches of, for instance, the Hadley circulation.
For CEOF1 (Figure 2.10), the vertical structure is simple with a maximum in vertical
motion at about 400 hPa, divergence in the upper troposphere that peaks near
150 hPa and decays to zero amplitude above 70 hPa, and convergence in the lower
troposphere with a maximum at 850 hPa (NCEP) or 925 hPa (ECMWF; not shown).
Spatially, this mode has a rich 3-D structure that evolves with the seasons
(Figure 2.10). It accounts for 60% of the annual cycle variance of the divergent
mass circulation and includes the Hadley circulation as well as three overturning
transverse cells. These include the Pacific Walker circulation, an Americas—Atlantic
Walker circulation, both of which comprise rising motion in the west and sinking in
the east, and a transverse cell over Asia, the Middle East, north Africa, and the
Indian Ocean that has rising motion in the east and sinking toward the west. These
exist year round but migrate and evolve considerably with the seasons and have
about a third to half of the mass flux of the peak Hadley cell. The annual cycle of
the two Hadley cells reveals peak strength in early February and early August in
both reanalyses (Trenberth ez al., 2000).

In DJF (Figure 2.10) the large-scale, low-level convergence and associated upper
level divergence in CEOF1 is most apparent north and east of Australia near 10°S,
and the SPCZ is clearly a part of this pattern. In the Indian Ocean the ITCZ is also
evident near 10-15°S. Similarly, strong low-level convergence occurs over the
Amazon while subsidence over the tropical eastern Pacific is present as the
downward branch of the Walker circulation. The latter is slightly stronger relative
to the Hadley circulation in the NCEP reanalyses (Trenberth et al., 2000). A
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Figure 2.10. Spatial patterns of CEOF1, in which all four seasons were combined, for the
divergent velocity from NCEP reanalyses for JJA (top) and DJF (bottom) corresponding to the
vertical structure function of the mass weighted divergent velocity field at the right for 1979—
1993 (from Trenberth et al. 2000). The scale vector is given below. The vertical structure
vectors are referenced to that at 1,000 hPa, which is directed along the x axis; they are free
to rotate through 360° but tend to be aligned, the scale factor is given below and the units are
kgm ™! s™!. The vertical scale is in hPa with an approximate height scale given.

distinctive line of convergence in the upper troposphere occurs from 90°E to 170°W
along about 30-35°N, penetrating farthest north near Japan, which bears a striking
resemblance to the position of the core of the subtropical jet stream where it exceeds
50ms~' in January. A primary forcing of the rotational zonal wind component
comes from the term fv,;, where v, is the divergent meridional wind component.
Since the Coriolis parameter increases with latitude, this term reaches a maximum
just short of the convergence line.

The corresponding vertical motion fields (not shown) are fairly similar to those
in Figure 2.9 and reveal that the pronounced subsidence in the South Pacific high is
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present all year, while the subtropical high in the North Pacific is much stronger in
summer. The migration across the equator of the upward motions is evident in
Africa and from the Amazon region to the Mexican highlands.

While some low-level convergence is apparent in CEOF1 in the southern tropics
over Africa, the main features over Africa and Australia are accounted for by the
second mode (not shown), which involves relatively shallow but vigorous overturn-
ing with the maximum vertical velocities near 800 hPa, outflow from 750 to 350 hPa,
and inflow peaking at 925 hPa (Trenberth et al., 2000). It is especially strong over
Africa, influences the Middle East, has a signature over Australia, and also is an
important component of the overturning in the tropical eastern Pacific and Atlantic,
and thus of the convergence zones in these regions.

2.4 DIABATIC PROCESSES: HEAT SOURCES AND SINKS

The fundamental forcing of the atmospheric circulation and climate ultimately
relates to the radiation budget of the planet. To further set the stage for understand-
ing the seasonal monsoon variations we therefore examine the diabatic forcings of
the atmospheric circulation. A more complete treatment is in Trenberth and
Stepaniak (2004).

The absorbed solar radiation (ASR), outgoing longwave radiation (OLR), and
the net radiation are given in Figures 2.11, 2.12, and 2.13 (color section for all) for
JJA, DJF, and their difference. The dominant annual cycle forcing is the change in
distribution of incoming solar radiation due to the orbit of the Earth around the sun.
There are important effects from albedo and clouds, but they are secondary and the
pattern of ASR has a strong zonal component that is dominated by orbital effects.
Figure 2.11 serves as an important reminder of just how large the seasonal variation
is because JJA vs. DJF differences exceed 200 W m 2. It is interesting that the zero
line is not on the equator but instead lies between 0 and 10°N for the most part.
There is an important cloud signature in Figure 2.11 although somewhat lost in the
contours.

On the other hand, OLR (Figure 2.12, color section) is more uniform with
latitude and season, and is well established to vary primarily with deep convection,
owing to the high cold cloud tops. The signatures of the ITCZ, SPCZ, SACZ, and
monsoon-related clouds are clear. Also, in the tropics, there is a very strong relation
between the JJA-DIJF differences in OLR and the patterns of change of precipitation
(Figure 2.4, color section) and vertical motion (Figure 2.9, color section). In the
extratropics, however, the OLR signature is much more strongly related to tempera-
ture (Figure 2.2, color section).

The cloud signature in ASR is well matched by that in the OLR signal and when
the net radiation (Figure 2.13) is considered there is remarkable but well-known
cancellation (Hartmann et al., 2001). The net radiation seasonally is dominated by
the ASR changes. Once again the zero line in the net radiation lies just north of the
equator. It is this pattern of net radiation that ultimately directly drives the
monsoons and their seasonal reversals.
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Over land, the thermal inertia is quite small, and thus there is a tendency for land
temperatures to respond to the radiative imbalance. However, over the oceans,
surface heating in summer warms the upper ocean, which becomes strongly stratified
(as warm water is less dense) even though some heat is mixed to lower layers by
wind. In winter, surface cooling results in denser surface waters which are apt to
sink, triggering convection, and bringing warmer waters to the surface from below.
Surface cooling is however greatest from cold dry continental air outbreaks over
western oceans where boundary currents such as the Gulf Stream lie, and turbulent
surface fluxes can exceed 1,000 W m ™ for short periods of time (e.g., Neiman and
Shapiro, 1993) and over 300 W m 2 over monthly and seasonal averages. Seasonal
heat uptake by the oceans can exceed 100 Wm ™2 in the subtropics in summer which
is then released to the atmosphere in winter (e.g., Trenberth and Stepaniak, 2003b,
2004), strongly mitigating the season cycle of solar radiation.

Estimates of vertically integrated diabatic heating in the atmosphere (Q; — Q;)
are based on atmospheric heat budgets using NCEP reanalyses, computed as a
residual (Trenberth and Stepaniak, 2003a,b). Note that O, includes the small fric-
tional heating (Qy) so that their difference is the diabatic heating in the atmosphere,
presented in Wm™ (Figure 2.14, color section). The reader will immediately
recognize the strong resemblance with Figures 2.4 and 2.9 (color section).
Therefore, it is also desirable to present the vertically integrated latent heating
component Q, = L(P — E), where L is the latent heat of condensation, P is pre-
cipitation rate, and E is evaporation rate. Q, is shown in Figure 2.15 (color section)
along with the corresponding vertically integrated divergent component of the total
flux of water vapor transport (Trenberth and Stepaniak, 2003a,b). The difference
between these two quantities, Q; — Oy — Q,, is directly related to the divergence of
the total atmospheric energy transports (Figure 2.16, color section) on an annual
basis when changes in storage of energy in the atmosphere can be ignored.
Moreover, for long-term annual means the difference between this and the net
radiation (Figure 2.13, color section) should be close to zero over land and corre-
spond to divergence of ocean heat transports over the oceans. The implied ocean
heat transports have been verified by comparisons with direct measurements in
ocean sections by Trenberth and Caron (2001) and have an advantage of
providing a global picture.

These figures reveal that the dominant diabatic heating in the tropics comes
from latent heating associated with precipitation. The heating is associated with
regions of upward motion and the low-level convergence of moisture by the atmo-
spheric circulation (Figure 2.7, and see Figure 2.15, color section) itself.

The atmospheric circulation naturally responds to these diabatic forcings and, at
the same time, transports heat, energy, and moisture. The low-frequency part of the
flow plays a dominant role throughout the tropics and can be depicted by monthly
means, while transients, depicted by within-month variations, are prominent in
the extratropics. The total energy divergence and the divergent component of the
transports are given in Trenberth and Stepaniak (2004) and in Figure 2.16 (color
section) for the quasistationary and transient components. The former dominates in
the tropics and is more directly associated with the monsoons and the Hadley and



80 The Asian monsoon: Global perspectives [Ch.2

Walker circulations. But note how the pattern of diabatic heating associated with
latent heating has largely disappeared to be replaced by moisture sources. In this
depiction, the energy transport by the overturning circulations is fairly modest. In
the Asian summer monsoon (top panels), the divergence of energy from the upward
branch is transported mostly to 30°S in the Indian Ocean where it is further trans-
ported polewards by the transient eddies. In the Pacific and Atlantic the overturning
transports energy northwards to about 30°N, where it is transported farther north
in the ocean storm tracks. In these areas, there is also a component transported
into the SH.

In DJF and in the interseasonal differences (JJA-DIJF), the strong NH station-
ary waves dominate although the storm tracks over the ocean also play a major role.
The difference also reveals the huge switch over the northern oceans from being a
source of heat in winter to a sink in summer while the land acts in reverse.

From these figures it is clear that, from an energy budget standpoint, latent
heating drives the upward branch of the monsoonal overturning circulation. There
is a strong balance between adiabatic cooling associated with rising air and latent
heating. However, the latent heating is also a response to the circulation itself and
not a fundamental cause. The original source of the latent heating is the moisture
convergence and thus ultimately evaporation from the surface, primarily over the
oceans. Hence the latent heating is linked to the absorbed solar radiation. However,
the latter is taken up and stored within the ocean so that maximum SSTs tend to
occur at the end of the summer season in the extratropics. Moreover, some aspects of
the evaporation of moisture into the atmosphere are linked to its transport and
convergence into precipitation zones associated either with the ITCZ, SPCZ,
SACZ, or monsoon rains. This is because the evaporation itself is also partly a
result of the circulation and the turbulent fluxes into the atmosphere. In order for
all this to take place, there has to be an overturning circulation in the atmosphere.

The overturning circulation in the atmosphere in low latitudes, where the Earth’s
rotational effects are weak, is the main way the tropical atmosphere can move energy
around (in contrast to baroclinic processes at higher latitudes). Therefore, there also
has to be a heat sink (cooling) in the downward branch of the circulation to balance
the warming by subsidence. Conventional wisdom suggests that this cooling, usually
in the subtropics, is primarily associated with OLR emitted to space. This is partly
the case, but once again, the relatively clear skies are a consequence of the circulation
and thus are a feedback and not a fundamental cause. Instead, on monthly and
longer timescales the atmospheric energy transports are continuous between the
tropics and extratropics in spite of the very different mechanisms for distributing
energy, namely the overturning Hadley-type or monsoonal circulation in the tropics
and the baroclinic eddies in mid-latitudes (Trenberth and Stepaniak, 2003a,b). There
has to be a very tight link, therefore, between the two. Consequently it has been
established that the major part of the cooling in the subtropics over the oceans comes
from divergence of energy (cooling) by the baroclinic waves, which in turn are often
organized into storm tracks (Figure 2.16, color section). The preferred storm tracks
are slightly polewards of the main jet streams, which are a consequence of the
convergence of momentum transports by both the overturning and the baroclinic
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eddies. Effectively, the baroclinic eddies carry energy to higher latitudes where it is
eventually radiated to space as OLR. Consequently the cooling in the downward
branch of the overturning circulations is linked to OLR diabatic forcing through
radiation to space at all subtropical and extratropical regions.

Normally there are two Hadley cells in the atmosphere. One is in each hemi-
sphere. In the equinoctial seasons, both can be seen with roughly comparable
strength (see Trenberth ef al., 2000). But in the solstitial seasons, the summer hemi-
sphere Hadley cell is weak and the cell with subsidence into the winter subtropics
becomes dominant (Figures 2.5-2.10 (for Figure 2.9, see color section)). At the top-
of-atmosphere, the net radiation (Figure 2.13, color section) provides the main
reason why this is so and the primary change is in ASR, not OLR. However, both
the ASR and the OLR have major contributions at the Earth’s surface, and to
properly interpret what is happening within the atmosphere, it is necessary to also
examine the surface energy budget and the key role of evaporation in providing
latent energy which in turn involves the oceans and their uptake and release of
stored heat (Trenberth and Stepaniak, 2003a,b, 2004).

2.5 REGIONAL MONSOONS

Six regions, from Trenberth et al. (2000), have been selected to illustrate and
highlight meridional structures of the overturning monsoonal circulations. Here
the ECMWEF results are utilized because the extra 775 hPa level proves quite bene-
ficial and the flow at 925 hPa is more distinctive. The sections, progressing eastward,
include the following: (i) Africa, 10°E to 40°E, this is the land region at the equator,
and so it does not include the South Atlantic; (ii) Australia—Asia, 60°E to 180°,
covering the Asian—Australian monsoon; (iii) Pacific, 170°W to 90°W, containing
the SPCZ and the ITCZ north of the equator; (iv) North America, 110°W to 80°W,
this region is not ideal as the Central American isthmus is narrow and is not oriented
strictly north—south; (v) South America, 80°W to 40°W, covering the main southern
continent; and (vi) Atlantic, 30°W to 10°E, this region is a compromise as it includes
some South American influences in the west.

We present the annual cycles of w at 500 hPa and January and July cross sections
of the divergent meridional circulation component. Note that because these sections
are zonally limited, the circulation is not closed, and there is a third zonal dimension
that conserves the mass flow. As the focus is on the direct overturning, the domain is
limited to +50° latitude.

The ITCZ migrates back and forth across the equator over Africa, as revealed
by the w field (Figure 2.17), although subtropical subsidence is most pronounced in
both hemispheres in the austral winter. In addition, the African monsoon is char-
acterized by a complex vertical structure with shallow overturning below 600 hPa. In
January, shallow direct cells exist near 15°N and 25°S, and in July the southern cell
moves northward and is centered near the equator. Note that the subsidence at 35°N
in July is not strongly linked to the ITCZ at 10°N, but comes primarily from the
transverse cell.
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Figure 2.17. For Africa. Regional meridional cross sections of the divergent flow as vectors
from 50°S to 50°N from ECMWF for January (fop) and July (botrom). The scale vector is
shown top right. To the right is shown the annual cycle of w at 500 hPa from 50°S to 50°N in
1072 Pas™!. Stippling (negative values) indicates upward motion and hatching subsidence.
Adapted from Trenberth ez al. (2000).

For the Australia—Asia sector (Figure 2.18), the w annual cycle shows the more
intense phases of the monsoons in January and July—August, with an additional
upward motion branch near 30°N from April through August that reflects the
elevated Tibetan plateau heat source and the Mei Yu and Baiu summer monsoon
rainfalls in China and Japan, respectively (e.g., Kang et al., 1999). The correspond-
ing cross section shows the dominant deep tropospheric overturning of the Hadley
circulation. For the Pacific sector (Figure 2.19), the w annual cycle shows the ITCZ
near 7°N year round but it appears weak in January when there is cancellation in the
west as the SPCZ becomes more active. The latter also prevents a good view of the
South Pacific high subsidence except in the northern winter. The cross sections,
however, clearly show the complex vertical structure of the deep tropospheric circu-
lation combined with the shallow overturning below 600 hPa in both hemispheres. In
January, w at 500 hPa does not indicate the main activity at all.

The North American sector (Figure 2.20) also strongly shows the shallow cell,
especially south of the ITCZ. In fact, in January, there is subsidence everywhere at
500 hPa and upward motion only near 5°N below 600 hPa. In northern summer, the
deeper Hadley circulation emerges more clearly although still with a shallow cell
embedded.
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Figure 2.18. For Australia—Asia. Regional meridional cross sections of the divergent flow as
vectors from 50°S to 50°N from ECMWEF for January (top) and July (bottom). The scale
vector is shown top right. To the right is shown the annual cycle of w at 500 hPa from 50°S to
50°N in 1072 Pas™'. Stippling (negative values) indicates upward motion and hatching
subsidence. Adapted from Trenberth ez al. (2000).

The South American sector (Figure 2.21) reveals the deep circulation over the
Amazon in southern summer but with a large change in character in winter, where
shallow overturning cells dominate north and south of the ITCZ. The ITCZ is about
7°N in southern winter and has a double structure in October as it shifts to the SH.

In the Atlantic sector (Figure 2.22), as in the Pacific, the strong ITCZ near 7°N
year round is cancelled in the southern summer by migration of activity to the
Amazon in the west. Again the cross sections show the importance of the shallow
cells throughout the year.

The seasonal reversal in the overturning circulation implicit in the definition of
the monsoon is present in Figures 2.17-2.22 in all but the central and eastern Pacific
and Atlantic sectors. It is certainly true in the South American sector, where some
analyses of the total flow have not noted a seasonal reversal (e.g., see Ramage, 1971;
Webster et al., 1998). In the narrow North American sector where the transverse
overturning is a non-trivial influence, the picture is not as clear when viewed only
from the standpoint of a north—south section. While the eastern ocean areas can be
legitimately excluded from being called regional monsoons, they nevertheless parti-
cipate in the global monsoon through the changes in large-scale overturning.
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Figure 2.19. For the Pacific. Regional meridional cross sections of the divergent flow as
vectors from 50°S to 50°N from ECMWF for January (top) and July (bottom). The scale
vector is shown top right. To the right is shown the annual cycle of w at 500 hPa from 50°S to
50°N in 1072 Pas™!. Stippling (negative values) indicates upward motion and hatching
subsidence. Adapted from Trenberth ez al. (2000).

2.6 DISCUSSION AND CONCLUSIONS

There have been many and varied definitions of what constitutes a monsoon, but
until recently (Trenberth et al., 2000), it has not been possible to obtain a reliable
perspective from the standpoint of the large-scale overturning in the atmosphere.
Such persistent overturning that varies with the seasons is a key characteristic of the
monsoons and has been the focus of this chapter. Nevertheless, there is also a
substantial rotational component of the atmospheric circulation associated with
monsoons, and this component plays a key role in transporting moisture. The
migration of the sun back and forth across the equator is accompanied by the
migration of the upward branch of the monsoon overturning circulation wherever
continental land influences are present in the tropics and subtropics. The presence
of high topography also clearly enriches and enhances the monsoon. The main
exceptions are the eastern Pacific and Atlantic Oceans where the ITCZs reside
north of the equator year round, although these areas have a secondary role in
the global monsoon.
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Figure 2.20. For North America. Regional meridional cross sections of the divergent flow as
vectors from 50°S to 50°N from ECMWF for January (top) and July (bottom). The scale
vector is shown top right. To the right is shown the annual cycle of w at 500 hPa from 50°S to
50°N in 1072 Pas™'. Stippling (negative values) indicates upward motion and hatching
subsidence. Adapted from Trenberth et al. (2000).

The vertical structure of the global monsoon mass circulation remains largely
unchanged throughout the year. The predominant deep overturning global mode
acts throughout the troposphere and has a simple structure with a maximum in
vertical motion at about 400 hPa, divergence in the upper troposphere strongest at
150 hPa and convergence in the lower troposphere. The mode decays to zero
amplitude above 70hPa. The Hadley circulation is part of the deep overturning
mode, but so too are three transverse cells: the Pacific and Atlantic Walker cells,
and an Asia-Africa transverse cell that overturns toward the west. While it is often
useful to break down the global monsoon into these meridional and transverse
components, the reality is the rich three-dimensional structure that evolves with
the seasons (Figure 2.10). The vertical motion patterns and precipitation in the
tropics and subtropics (both wet and dry areas) are largely accounted for by this
dominant global monsoon mode.

The existence of the transverse cells has been known, at least schematically, for
some time (see Krishnamurti, 1971; Krishnamurti et al., 1973; Fein and Stephens,
1987). The transverse cell that has rising motion in the east and sinking toward the
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Figure 2.21. For South America. Regional meridional cross sections of the divergent flow as
vectors from 50°S to 50°N from ECMWF for January (top) and July (bottom). The scale
vector is shown top right. To the right is shown the annual cycle of w at 500 hPa from 50°S to
50°N in 1072 Pas™!. Stippling (negative values) indicates upward motion and hatching
subsidence. Adapted from Trenberth ez al. (2000).

west is strongest in January from northern Australia to the southern subtropical high
in the Indian Ocean. By July the rising motion is over southeastern Asia with sinking
over northern Africa and the Mediterranean, and is thus responsible for the so-called
‘Mediterranean climate’ of clear skies and sunny days with rains infrequent in
summer.

The relationship of the global monsoon to the more regional components was
illustrated by the sectoral analyses of the previous section. The meridional cross
sections highlight the importance of the shallow overturning cell in low level
activity and annual cycle evolution of the monsoons.

Previous definitions of monsoon areas in terms of seasonal reversals in wind and
precipitation (e.g., Ramage, 1971) have not included the Americas. Webster et al.
(1998) included the Americas on the basis of precipitation changes. Yet, from the
divergent wind circulation (Figures 2.20 and 2.21), the monsoon regions should
include the Americas, although the picture is complicated by the meridional
sectors for North and South America being somewhat offset. Nevertheless, there is
clearly a monsoonal (direct) overturning that varies seasonally.

This chapter has emphasized the slowly varying circulation and long-term
averages. Many analyses have been made of precipitation during the monsoon
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Figure 2.22. For the Atlantic. Regional meridional cross sections of the divergent flow as
vectors from 50°S to 50°N from ECMWEF for January (top) and July (bottom). The scale
vector is shown top right. To the right is shown the annual cycle of w at 500 hPa from 50°S to
50°N in 1072 Pas™'. Stippling (negative values) indicates upward motion and hatching
subsidence. Adapted from Trenberth ez al. (2000).

seasons and the active and break phases of the monsoons. An analysis of the
steadiness of the monsoonal circulations highlights the important roles of high
frequency transients, but it also singles out the monsoon regions as those where
the circulation is much more steady than in other regions, such as the extratropics
(Trenberth et al., 2000).

Previous analyses of interannual and interdecadal variations (e.g., see Webster
et al., 1998) suggest that the global system does not vary coherently, but rather the
regional monsoons and ENSO are in competition with one another, although those
patterns evolve in time (e.g., Kumar et al., 1999). More vigorous activity in one
sector is apt to create subsidence in another and help suppress activity, as the
largest scales tend to be emphasized in the tropics (Webster, 1972). This is illustrated
most simply by the pattern of the Southern Oscillation, which is the dominant mode
of interannual variability overall (Trenberth and Stepaniak, 2003b).
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The Asian winter monsoon
C.-P. Chang, Zhuo Wang, and Harry Hendon

3.1 INTRODUCTION

During most of the twentieth century the terms Asian monsoon and Indian monsoon
have been used nearly interchangeably in the English literature. However, it is now
increasingly realized that over vast regions of east Asia and the western North Pacific
the weather is dominated by a seasonal reversal of wind and a clearly defined period of
overabundant rainfall in the annual variations. The wet season of the subtropical and
mid-latitude east Asia overlaps with that of south Asia, and both are distinct com-
ponents of the Asian summer monsoon when surface south-westerly winds prevail.
In this chapter, we will provide an overview of the Asian winter monsoon, in which
the prevailing surface winds are north-easterly north of the equator. This chapter will
focus on areas surrounding east Asia where most of the centers of activities of the
Asian winter monsoon are located. For boreal winter weather systems over south
Asia, the readers are referred to Chapter 4 of this book.

During boreal winter, the maximum heating moves from its boreal summer
location over south Asia to the Maritime Continent—northern Australian region.
North of the equator, low-level north-easterly winds prevail over a large longitudinal
span, from the western Pacific to the Indian Ocean. Although differential heating
and the resultant thermal direct circulation are responsible for both the Asian winter
and the Asian summer monsoon circulations, the two monsoons differ in more than
one way. On the one hand, the heat source region of the Asian winter monsoon is
much closer to the equator (Krishnamurti, 1971), where the effect of the Earth’s
rotation is diminished. On the other hand, the circulation of the Asian winter
monsoon encompasses a larger meridional domain such that the tropical region
has a strong interaction with the extratropical region. The extratropical
component of the Asian winter monsoon is characterized by prevailing low-level
north-easterlies that are associated with the anticyclonic circulations of the surface
Siberian—-Mongolian high (SMH). This is a strong cold-core high pressure that often

B. Wang (ed.), The Asian Monsoon.
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stays stationary near the Siberia—Mongolia region with its central sea level pressure
(SLP) exceeding any other pressure system in the Earth’s atmosphere (Ding, 1994).
When the surface high pressure moves south-eastward toward the coastline of China
and the western Pacific, intense cold air outbreaks often occur. Strong effects of these
outbreaks can reach the deep tropics within a very short period (Chang et al., 1983),
such that the term ‘cold surge’ is used to describe the resultant surge of the north-
easterly winds by many forecasters in equatorial countries, even though a tempera-
ture signal is no longer observed. Thus, baroclinic development in middle and high
latitudes usually has a stronger influence on tropical regions during the Asian winter
monsoon than the Asian summer monsoon.

Downstream from the north-easterly winds, the Maritime Continent (Ramage,
1968) is an equatorial region of land and sea with its own strong monsoon char-
acteristics. In this region, significant local variations on the seasonal reversal of
winds and annual variation of rainfall exist because of the complex land-sea
terrain, but near the equator the prevailing wind is generally westerly during the
wet season of boreal winter and easterly during the dry season of boreal summer
(e.g., Ramage, 1971; Matsumoto, 1992; McBride, 1998; Hamada et a/., 2002; Chang
et al., 2004a). The rainfall variation in this region is in phase with that of the
Australia monsoon (McBride, 1987, 1998; Hendon and Liebmann, 1990a).
Therefore, the terms Asian winter monsoon, northern winter monsoon or Australian
(summer) monsoon are sometimes used to include the wet monsoon in both regions.
Most of the rainfall is organized into mesoscale convective complexes that are
affected by both strong land-sea breezes and larger-scale disturbances (Johnson
et al., 2004). The latent heat release over the combined Maritime Continent—
northern Australia area has long been recognized as the most important planetary
scale heat source that drives the global circulation during boreal winter.

The interaction of this heat source with the strong east Asian baroclinic system
and the cold air outbreaks affects the subtropical east Asian jet (Chang and Lau,
1982; Lau and Chang, 1987) and in turn may influence the weather from the western
Pacific to North America (Yang et al., 2002; Chen and Li, 2004). Recent analysis
also suggests that flare-ups of this Maritime Continent heat source may lead to
downstream wave train propagation and may be related to storm development
over Europe on a timescale of one to two weeks (Thorpe et al., 2002). During
boreal winter, the western Pacific, Maritime Continent, and Australia have some
of the largest errors in numerical weather prediction (Rodwell, 2005). The impor-
tance of properly representing this heat source in general circulation models was
emphasized by Neale and Slingo (2003), who demonstrated that the tendency of a
dry bias in the Maritime Continent region is a major source for systematic errors
over both the tropical Indian and Pacific Oceans and extratropical North America
and north-east Europe. They concluded that the Maritime Continent plays a critical
role in the global circulation and emphasized the need for better representation of
convective organization over this region of complex land—sea terrains.

In addition to the strong synoptic-scale activities associated with the anti-
cyclones, cyclones, and cold air outbreaks in the extratropical region, the Asian
winter monsoon season also coincides with the period of the highest tropical
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cyclone activity of the south-western Pacific (Holland, 1984; McBride, 1995). The
monsoon trough south of the equator is a favorable area of tropical cyclone devel-
opment during boreal winter (Harr and Chan, 2005), particularly under the influence
of the Madden—Julian Oscillation (MJO) (Madden and Julian, 1972; Hendon and
Liebmann, 1990b; Hendon et al., 1999). Both the east Asian winter monsoon and the
Australian monsoon are also affected directly by the El Nifio/Southern Oscillation
(ENSO) and other interannual and decadal variations in the Pacific and Indian
Oceans. In order to cover the multiple-scale phenomena over the vast region of
the Asian winter monsoon, this chapter will be organized in the following way.
The climatological mean circulations will be described in Section 3.2, with subsection
3.2.1 covering the midlatitudes and 3.2.2 covering the tropics, respectively. The
synoptic-scale weather systems and all other scales of motions that are important
for a particular regime are discussed according to the three monsoon regimes, with
Section 3.3 covering mid-latitude and subtropical east Asia, Section 3.4 the Maritime
Continent, and Section 3.5 northern Australia. Section 3.6 will discuss interannual
and longer term variations.

3.2 MEAN CIRCULATIONS

3.2.1 Mid-latitude circulations

The east Asian winter monsoon (EAWM), normally defined as between November
and March (Ding, 1994), is the main mid-latitude component of the Asian winter
monsoon system. The intensity of the EAWM affects the temperature and precipita-
tion variations over eastern China, Korea, Japan, and the surrounding regions,
where it has profound economic and social impact. The major components of the
EAWM are shown in Figures 3.1(a—c; color section), which show the surface/sea
level, 500 hPa and 300hPa climatological mean circulations. At the surface, the
EAWM is featured by the cold-core SMH, the Aleutian Low, the large meridional
gradient of surface temperature over east Asia, and the predominant northerly—
north-easterly flows from the Arabian Sea to western North Pacific (Figure 3.1(a)).
The central pressure of the SMH often reaches 1,040 hPa and can exceed 1,080 hPa
in extreme cases. Its intensity has been used as an indicator for the intensity of the
EAWM in some studies (e.g., Guo, 1994; Jhun and Lee, 2004). More details of
the SMH and the associated anticyclonic circulations are discussed in Chapter 4.
At the surface, the northerly flow is prominent along the east Asian coast, especially
over the South China Sea, where a strengthening of the winds is manifested into cold
surges. These cold surges, which are characterized by sharp temperature decreases
and wind speed increases, are a significant transient component of the Asian winter
monsoon. The cold surges also influence the convection over the Maritime Continent
and sometimes the monsoon development in the southern hemisphere. A detailed
description of cold surges is given in Section 3.3.2. In the mid-troposphere
(Figure 3.1(b)), the east Asian long-wave trough is located near Japan. To the
south of the trough exists the subtropical jet stream, with a confluence zone
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upstream of the trough. At 300hPa (Figure 3.1(c)), the jet core located south of
Japan has a maximum zonal wind exceeding 60ms~'. Overall, Figure 3.1 indicates
that east Asia is a region of strong baroclinicity, marked by large vertical wind shear
and cold advection throughout the troposphere.

Several investigators (e.g., Manabe and Terpstra, 1974; Murakami, 1987b)
showed that topographic forcing by the Tibetan Plateau is important in maintaining
the low-level flow configuration and the upper level jet of the east Asian winter
circulation. Zhang et al. (1997) suggested that land—ocean differential heating may
also provide an important driving force for the east Asian winter monsoon. Here the
latent heat release associated with intense convective precipitation over the western
North Pacific is the main heat source, and a strong cold dome residing to the north-
east of the SMH is the heat sink. The cold dome is maintained by radiative cooling,
descending motion associated with the SMH, and persistent cold advection through-
out the troposphere (Ding and Krishnamurti, 1987).

3.2.2 Tropical circulations

The major heating center of the Asian monsoon shifts south-eastward from its south
Asia location during the summer monsoon into the Maritime Continent and equa-
torial western Pacific region during the winter monsoon. The outgoing long-wave
radiation (OLR) in Figure 3.1(c; color section) indicates that the maximum heating is
situated south of the subtropical east Asian jet stream. This longitudinal alignment
of the equatorial heat source region and the strong subtropical baroclinic zone gives
rise to strong mid-latitude—tropical interactions that are a distinctive feature of the
Asian winter monsoon (Chang and Lau, 1980, 1982; Compo et al., 1999). Due to
the vanishing Coriolis force at the equator, the upper tropospheric outflow from the
Maritime Continent heat source leads to anticyclonic circulations on both sides of
the equatorial heating center (Figure 3.1(c)). At the surface, the monsoon trough is
situated over northern Australia, which is located to the south of the region of
maximum rainfall as indicated by the distribution of the OLR in Figure 3.1(c).

The low-level, north-east monsoon winds reaching the southern South China
Sea are strongly affected by the surrounding terrain. The deflection of the terrain
results in northerly winds, which turn eastward after crossing the equator due to the
conservation of potential vorticity (Lim and Chang, 1981). These westerlies that are
situated to the north of the monsoon trough (Figure 3.1(a), color section) character-
ize the Indonesian wet monsoon and the Australian summer monsoon. Along about
10—15°S a line of strong cyclonic shear separates these lower latitude westerlies from
southern hemisphere, higher latitude easterlies (McBride and Keenan, 1982). In
addition to the low-level north-easterly winds that feed into the monsoon region
across the entire northern subtropics, low-level southerly winds in the southern
hemisphere subtropics also provide inflow to the Maritime Continent—Australian
monsoon region. The surface wind analysis (Figure 3.1(a)) does not show a
similar strong inflow into either the eastern Pacific intertropical convergence zone
(ITCZ) or the South Pacific convergence zone (SPCZ) that are indicated in the OLR
field (Figure 3.1(c)).
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In the Australian region, lower tropospheric westerlies and associated wide-
spread rainfall replace the dry trade easterlies that predominate during southern
winter. Low-level onshore north-westerlies transport moist air inland, which
allows the monsoon to expand toward the mid-latitude over arid northern Australia.

3.3 SEVERE EAST ASIAN WINTER MONSOON WEATHER

3.3.1 Explosive cyclones

Cyclones are active weather-producing systems during the Asian winter monsoon.
Although most cyclones originate in eastern China, they do not deepen explosively
until they move off the east Asian coast, where the cold air encounters warmer
surface temperatures over the East China Sea and the Kuroshio Current (Chan
and Li, 2004). The resultant baroclinicity often leads to explosive cyclogenesis,
which is defined by Sanders and Gyakum (1980) as a deepening of the cyclone
center pressure of at least 12hPa in 12 hours. Figure 3.2 shows the frequency of
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Figure 3.2. Distribution of explosive cyclogenesis during three cold seasons. Non-zero
frequencies appear in each 5°x 5° quadrilateral of latitude and longitude. Isopleths
represent smoothed frequencies. The columns of numbers to the left and right of the heavy
line along 100°W (i.e., 90°W — 100°W) represent, respectively, the normalized frequencies for
each 5° latitude belt in the Pacific and Atlantic regions, using a normalization factor of
(cos42.5°/ cos ¢). Heavy dashed lines represent the mean winter position of the Kuroshio

Current and the Gulf Stream.
From Sanders and Gyakum (1980).
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explosive cyclogenesis compiled by Sanders and Gyakum (1980). They found that the
explosive cyclogenesis generally occurs about 700-800 km downstream from a
mobile trough at 500 hPa. A maximum is found over the Kuroshio Current to the
south of Japan. Gyakum et al. (1989) reported that more than 90% of the cyclones
passing through the area of the Kuroshio Current intensify in this region. Frequent
cyclogenesis is also found off the east coast of North America, within or to the north
of the warm Gulf Stream. However, unlike cyclones over the North America
continent where explosive cyclogenesis can occur, cyclones over the east Asian
continent are less likely to develop rapidly due to their presence in the confluent
region of the east Asian jet entrance. As a result, they are generally weaker than their
counterparts over North America (Boyle and Chen, 1987). Sanders and Gyakum
(1980) found that latent heat release has been identified as the crucial factor that
determines whether a cyclone can deepen rapidly (Chen et al., 1983, 1985; Chen and
Dell’Osso, 1987; Li and Ding, 1989; Yi and Ding, 1992; Xu and Zhou, 1999), but the
basic condition for explosive development is a zone of strong baroclinicity (e.g.,
Roebber, 1984). Hanson and Long (1985) suggested that the baroclinicity comes
directly from the meridional gradient of sea surface temperature (SST), which they
observed to have a close relationship with the frequency of explosive cyclogenesis.
They postulated that the surface baroclinicity associated with the temperature
gradient triggers baroclinic instability in the subtropical jet stream and leads to
rapid development of a cyclone. Above the surface, Ding (1994) suggested that
thermal and vorticity advection by the upper level trough is important in triggering
the rising motion, and Xu and Zhou (1999) suggested that thermal and moisture
advection by the low-level jet plays an important role. In addition, Ding et al. (2001)
and Jia and Zhao (1994) suggested that a jet stream with an anticyclonic curvature
enhances the baroclinic instability and upper level divergence, and thereby favors the
explosive cyclogenesis.

3.3.2 Cold surges
3.3.2.1 Definition of cold surges

The cold air outbreak, which is one of the most dramatic weather events during the
Asian winter monsoon, may encompass a large area from ecast Asia to the western
Pacific. Outbreaks occur about one to three times a month (Boyle and Chen, 1987;
Ding, 1994; Chen et al., 2002; Chan and Li, 2004) and are typically the result of the
strengthening and south-eastward movement of the SMH, which leads to an accel-
eration of north-easterly winds and a decrease of surface temperature to the east and
south of the SMH. Outbreaks may occur with an extension of the SMH to the south-
east or a split of the high-pressure area that moves toward the south-cast coast of
China. For a detailed discussion, the readers are referred to Section 4.5 (this book),
Chan and Li (2004), and Chan (2005). When the event progresses rapidly southward
and affects the tropics, particularly the vicinity of the South China Sea, it is called a
‘cold surge’. This term has been used operationally as an upstream precursor for an
event that may affect the equatorial region within one or two days. Because the
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magnitude of the surface temperature drop diminishes over the equatorial South
China Sea due to the modification by the warmer sea surface (Chang et al., 1979;
Johnson and Zimmerman, 1986), use of the term ‘pressure surge’ has also been
suggested (e.g., Wu and Chan, 1995; Compo et al., 1999). While various definitions
of a surge exist, they usually involve a temperature drop of several degrees within a
short time period, an acceleration of the north-easterly or northerly wind
component, and/or a sustained period of strong winds (e.g., Lum, 1976; Chu,
1978; Boyle and Chen, 1987; Ding, 1994; Chan and Li, 2004; also see Chapter 4).
Compo et al. (1999) showed that the relationships between variables associated with
cold surges identified in a 10-year European Centre for Medium-Range Weather
Forecasts (ECMWF) gridded analysis data set are robust and insensitive to the
various definitions or the base points at which these definitions are applied.

Some types of wind and pressure surges affect regions other than the equatorial
South China Sea. At the Hong Kong Observatory, the cold surges discussed above
are also called northerly surges. Another type of surge in which the wind acceleration
is primarily in the zonal direction and results in sustained surface easterly winds, is
called an easterly surge (Lum, 1976; Wu and Chan, 1995, 1997; Chan, 2005). These
surges are associated with an eastward movement of a low-level anticyclone to the
east coast of China, and primarily affect the northern South China Sea. Their
influence also tends to be short-lived due to continued eastward movement of the
anticyclone away from the longitudes of the South China Sea (Chan and Li, 2004).
Compo et al. (1999) reviewed the studies of surges that move south-eastward toward
the Philippines and the tropical western Pacific. These surges have been related to
the westerly wind bursts and increased convection in the equatorial western Pacific
(e.g., Chu, 1988; Meehl et al., 1996b).

3.3.2.2 Evolution of cold surges

The development of a cold surge typically starts with the build-up and subsequent
south-eastward extension or split of the surface high-pressure area. The center of the
SMH may either move south-eastward (Ding and Krishnamurti, 1987; Zhang et al.,
1997), or remain nearly stationary but with packets of cold air propagating eastward
in conjunction with smaller high-pressure or anticyclonic centers (Wu and Chan,
1995; Chan and Li, 2004). Changes of upper tropospheric circulations over Siberia
have long been recognized as precursors of cold surges. The best known change is a
north-westerly flow in the vicinity of Lake Baikal that is associated with an upper
level wave, which precedes a surge over the southern coast of China by 1-2 days
(e.g., Ramage, 1971; Lum, 1976; Chu, 1978; Boyle and Chen, 1987). Compo et al.
(1999) showed that upper tropospheric north-easterly anomalies associated with a
developing ridge over northern Siberia may be a precursor for a surge several days
later. When a short wave propagates into the quasistationary east Asian long-wave
trough near Japan, the intensification of the trough strengthens the northerly wind
and almost simultaneously the cold surge arrives at the southern China coast. A jet
streak that is often associated with the short wave may play a key role in forcing the
SMH through subsidence in the jet entrance region (Wu and Chan, 1995; Chan and
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Li, 2004). Even though it originates from the mid-latitude upper levels, the surge
over the South China Sea is mostly confined to a shallow layer between the surface
and 850 hPa (Ramage, 1971). The strong cold advection associated with the upper
level northerly wind component around Lake Baikal that precedes the cold surge
must exceed the subsidence warming, so that air parcels descend the isentropic
surface and reach the northern South China Sea as a cold surge.

Ramage (1971) observed a near-simultaneous development of cold surges and
the intensification of the local Hadley circulation over east Asia. Chang and Lau
(1980, 1982) showed that this development leads to a coherent variation of the mid-
latitude and tropical planetary-scale circulations over the timescale of about one
week. Prior to the surge, the mid-latitude westerly jet streak near the east Asian
trough strengthens as baroclinicity over the large domain begins to increase. About
one day after the surge arrives at the northern South China Sea, enhanced deep
tropical convection occurs downstream from the surge and accelerates both the local
Hadley and Walker circulations through increased upper level divergence. The upper
tropospheric meridional return flow, which represents the southerly divergent wind
component, accelerates in the entrance region of the jet streak near Japan and causes
a further strengthening and eastward propagation of the jet. This process has been
confirmed in many other observational studies (see Chan and Li, 2004) and general
circulation model (GCM) simulations (Slingo, 1998; Neale and Slingo, 2003).

The above model describes a single cold surge event that evolves over a period of
around one week. However, there are often consecutive signals of cold surges over
the northern South China Sea with brief pauses of one or a few days between them
such that the surges appear to be a series of sequential events. In either case, not all
the individual surges are necessarily associated with the classic model of a substantial
south-eastward extension or split of the SMH at the surface. However, the inten-
sification of the upper level East Asian trough and the eastward propagation of a jet
streak are always important parts of the event. An example of the evolution of a
series of two surges observed at the southern coast of China at the end of 2004 is
shown in Figure 3.3(a) (500-hPa geopotential height and wind speed) and 3.3(b) (sea-
level pressure and surface temperature). The first case can be traced to 26 December
2004 (upper left panels in Figure 3.3(a,b)) and involved a near-stationary SMH
center and an eastward-moving, upper level shortwave trough (S1) that started
near Bangladesh and north-east India and had a minor jet streak to its south.
Throughout the surge development, this shortwave did not interact significantly
with the East Asian longwave trough to the north. The surge affected Hong Kong
on 28 December 2004 with a large decrease of more than 6°C in daily-averaged
surface temperature. However, the surface pressure increase was very modest and
the surface moisture change was negligible. The second case can also be traced back
to 26 December 2004, when a zonally oriented 500-hPa trough (Z) north of
Mongolia between 45°N-50°N, 80°E-110°E began to intensify and propagate
south-eastward. On 29 December 2004, another shortwave trough (S2) appeared
in southern China just east of 105°E and propagated eastward. On 30 December
the Z trough moved into the south-west quadrant of the East Asian longwave trough
and became its south-west part. As a result, the longwave trough had a significant
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extension into southern China. The East Asian trough continued to deepen the next
day and sweep counterclockwise so that it was joined by S2 near Taiwan. When the
second surge passed Hong Kong on 31 December, a daily-averaged surface tempera-
ture drop of slightly less than 4°C was reported. Although the temperature decrease
was smaller than with the first surge, it led to the lowest temperature of the season by
then. This second event, which was associated with a deeper East Asian trough and a
stronger upper level jet streak, fits the classic model of a cold surge. In contrast to the
first surge, the SMH center moved south-eastward toward the south-east coast of
China and resulted in a sharp rise of the surface pressure and a sharp decrease in the
dew-point temperature on 31 December 2004 at Hong Kong. The dryer air mass
continued through the first few days of January 2005. Figure 3.3 shows that the
SMH and the East Asian longwave trough continued their south-eastward and
eastward movements, respectively, after the cold surge. On 31 December 2004,
another shortwave trough appeared in the north-western corner of the domain
and moved to the eastern boundary of Mongolia on 2 January 2005, but it did
not interact with the East Asian trough which had moved to the western North
Pacific. No surge resulted from this event.

While the strengthening of the East Asian longwave trough at the end of the
December 2004 event followed forcing from the west, Lu (2005) showed that some of
the strengthening may also have been forced from the east. On 24 December 2004,
the North Pacific ridge between the Date Line and 140°W strengthened suddenly
and began to expand westward over several days. This ridging from the east that
resembled a blocking pattern apparently contributed to the deepening of the East
Asian longwave trough, which led to the onset of cold surges when forcing by the
shortwave troughs arrived from the west.

3.3.2.3 Gravity wave characteristics of cold surges

The movement of the anticyclonic circulation at the surface and the upper level
troughs associated with a cold surge involves basically the advection of relative
and planetary vorticity. However, the nearly spontaneous freshening of the low-
level north-easterly winds over the South China Sea following the south-eastward
movement of the surface high pressure (Ramage, 1971; Chang et al., 1979) indicates
a rapid progression of cold surges that occurs on a timescale shorter than that of the
advective scale inherent in Rossby wave dynamics. Near the equator there is also
often a rapid response in enhanced surface cyclonic circulations near Borneo down-
stream from the surge (Chang et al., 1979; Meehl et al., 1996b). These Borneo
vortices are related to the flaring up of deep convection. The rapid developments
led Lim and Chang (1981) to contemplate the possibility that the surge process may
contain gravity wave characteristics. They formulated a simple linear shallow-water
equation model on the equatorial beta-plane with no mean flow to study the devel-
opment following an imposed pressure surge at 30°N. The solution is expressed by
the summation of a series of equatorial beta-plane waves. It shows the development
of inertial gravity waves, eastward-propagating Kelvin waves and mixed Rossby—
gravity waves, and westward-propagating Rossby waves in the equatorial region
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Figure 3.3. (a) Daily averaged 500-hPa geopotential height (contour intervals 60 m) and wind
speed (shaded) for 26 December 2004-2 January 2005. Dashed lines indicate troughs, with Z
the zonally elongated trough and S1 and S2 eastward propagating short-wave troughs. Double
dashed lines indicate the east Asian trough. (b) Daily averaged sea level pressure (isobars) and
surface temperature (shaded) for 26 December 2004-2 January 2005. The Hong Kong surface
temperature (T) and dew point depression (DD) averaged between 00 and 12 GMT are given
in the text box in each panel.
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Figure 3.4. The velocity and geopotential response for days 2 and 7 after an imposed pressure

forcing at 30°N in an equatorial beta-plane, shallow-water model.
Lim and Chang (1981).

(Figure 3.4). The inertial gravity waves rapidly disappear from the region and the
Kelvin and mixed waves propagate away to the east. On the other hand, the Rossby
wave group organizes itself into a north-east-south-west oriented pattern that
resembles both the belt of north-easterly surge winds and the enhanced equatorial
cyclonic circulation downstream. This pattern is the result of the Rossby wave
dispersion, in which lower modes closer to the equator lead the higher modes
away from the equator in the westward propagation. Lim and Chang’s (1981)
results suggest that the observed rapid downstream development of cold surges
may be associated with the pressure-wind adjustment process, so that gravity wave
characteristics, which are a natural consequence of the process, become a part of the
surge dynamics.

The observational evidence to support gravity wave characteristics in cold surges
was presented by Chang et al. (1983), who observed a two-stage process with
different timescales in a cold surge in the South China Sea during the 1978-1979
Winter Monsoon Experiment. (These two stages are associated with a single cold
surge. They are different from the two phases of the 26 December 2004-2 January
2005 sequence discussed in Section 3.3.2.2, in which the two phases represent two
separate surges.) By analysing the surface station reports, Chang et al. (1983) found
that at many stations the timing of the pressure rise leads that of the dew point
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Figure 3.5. Schematic diagram for the progression of (a) an unobstructed edge and (b) an
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Kong (0h). The double arrows show estimated progression speeds.
From Chang et al. (1983).

temperature drop, with the separation of the two stages increasing for stations
farther downstream along the track of the cold surge. As a result, the cold surge
extends south-westward with two propagation speeds (Figure 3.5). Chang et al.
(1983) identified the slower system as a front by tracing the timing of the dew
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point temperature drop at each station. It propagates at an advective velocity scale
of around 10ms~". Chang et al. (1983) called the faster system an ‘edge’ that is
associated with the propagation of the pressure rise. The edge propagates at a
velocity around 40ms~'. Based on this fast scale and the larger wind—isobar cross
angle, Chang et al. (1983) suggested that the edge possesses the nature of a gravity
wave that is fundamentally different from the advective dynamics of the front
motion. This difference remains even when modifying effects of the bottom topo-
graphy on planetary vorticity advection, which give rise to a length scale measured
by the slope between the Tibetan Plateau and the eastern coast of China (Hsu, 1987;
Compo et al., 1999), are considered. The separation of these two different timescales
in a cold surge was also revealed in an analysis of ship reports in the South China Sea
(Chan and Li, 2004).

3.4 MARITIME CONTINENT MONSOON

The Maritime Continent is a large area of land—sea complex, consisting of Indonesia,
Malaysia, and the surrounding areas between 10°S and 10°N (Ramage, 1968). The
complex terrain of islands and seas in this region gives rise to strong local variations
of the rainfall annual cycle (Braak, 1921-1929; Wyrtki, 1956; Ramage, 1971) and
diurnal cycles. In addition, the Maritime Continent rainfall also exhibits significant
interannual variations as discussed in Section 3.6.2, and is subject to strong
influences of intraseasonal and synoptic-scale disturbances like the MJO, cold
surges, and synoptic weather systems (Chang ef al., 2004a, 2005a).

3.4.1 Annual cycles and seasonal transitions
3.4.1.1 Monthly evolution

Situated between the centers of the Asian summer and the Australian summer
monsoons, the Maritime Continent monsoon may be considered as a transition
regime both in space and time. Lau and Chan (1983) observed that the transition
from Asian summer to winter (Australian summer) is continuous and may be repre-
sented by a south-eastward progression of the large-scale maximum convection over
the South-east Asian ‘land bridge’ (Figure 3.6). Thus, the monsoon onset over the
Maritime Continent progresses orderly following the seasonal march (Tanaka,
1994). This smooth progression led many investigators (e.g., Lau and Chan, 1983;
Meehl, 1987) to propose that the boreal autumn seasonal transition occurs as the
maximum convection follows the sun. However, the reversed transition from Asian
winter to Asian summer monsoon is not as continuous (Meehl, 1987; Yasunari,
1991; Matsumoto and Murakami, 2000, 2002; Hung and Yanai, 2004; Hung et al.,
2004). During the boreal spring, the maximum convection centers mostly stay near
or south of the equator. As a result, the withdrawal of the Asian winter monsoon
and the onset of the Asian summer monsoon are more abrupt.
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Figure 3.6. Seasonal migration of the monsoon diabatic heat sources during July—February
(denoted by marching numerals). The extent of the diabatic heat sources is determined from
the area with OLR <225W m > from monthly OLR climatology and is approximately pro-

portional to the size and orientation of the schematic drawings.
Adapted from Lau and Chan (1983).

Figure 3.7 (color section) shows the analysed monthly mean station rainfall from
October to March, overlapped with surface winds from the National Centers for
Environmental Prediction/National Center for Atmospheric Research (NCEP/
NCAR) reanalysis data over South-east Asia. The rainfall analysis is based on
two long-term data sets: the 1990-1997 Indonesia data with 63 stations processed
by Kirono et al. (1999) and Haylock and McBride (2001), and the ASEAN Climatic
Atlas Project data over 935 stations covering Malaysia, Indonesia, Singapore,
Brunei, the Philippines, and Thailand. Rainfall amounts are high throughout the
region with individual monthly totals of the order of 300-500 mm. In October the
higher amount of rainfall is shifted from its boreal summer location of the Indo-
China Peninsula to the northern Malay Peninsula and north-western Borneo (place
names are shown in Figure 3.8). In November and December the high rainfall
regions continue to move southward along the eastern coast of the Malay
Peninsula and western Borneo as a result of the north-easterly monsoon winds
that strengthen and reach deep into the equatorial region as the season progresses.
A high rainfall area also moves southward along the western coast of Sumatra,
where the onshore wind is westerly. Meanwhile, heavy rainfall also occurs on the
eastern coast of the Philippines, again a result of the north-easterly onshore winds. In
January, rainfall over Sumatra decreases, while the maximum rainfall shifts south-
eastward toward Java and other southern islands of Indonesia. This corresponds to
the development and strengthening of north-westerly winds north of Java, which is
the result of the strengthened north-easterly monsoon winds that cross the equator
and turn eastward. The north-easterly winds weaken in February and March. As a
result, rainfall over the entire region weakens, but there is no evidence of a north-
westward withdrawal along the Sumatra—Malay Peninsula land bridge.
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Figure 3.8. The annual cycle mode (light arrows) for analyzed station rainfall. The annual
cycle phase is shown as a 12-month clock with a northward arrow indicating maximum
rainfall in January. The length of the arrow defines the amplitude of the cycle. Heavy dots
indicate grid points where the annual cycle mode is not important. The semiannual mode
(heavy bar) is plotted if its amplitude is at least 80% of that of the annual cycle. Each bar is
centered at the grid point and pointing in the two (opposite) directions of the semiannual cycle
peaks. A vertical (north—south) bar indicates rainfall maximum in winter and summer and a
horizontal (east—west) bar indicates rainfall maximum in spring and fall. The entire length of
the bar is twice the length of an annual cycle vector with the same amplitude. Example of
rainfall time series (mmday ') at grid points where the semiannual cycle is important (5°N,
100°E), the annual cycle is important (8°S, 110°E), and neither are important (3°S, 133.5°E)

are shown in the upper-right insert.
Adapted from Chang et al. (2005b).

Chang et al. (2005b) pointed out that these patterns result largely from the
interaction between the high topography in the region and the moisture-bearing,
low-level monsoon flow. Similarly, wind—terrain interaction also dominates the
rainfall distribution around Indo-China and south India during boreal summer.
Therefore, while the basic annual cycle is driven by the local solar heating over
the tropical monsoon region, particularly the Maritime Continent, the annual
cycle of rainfall is dominated largely by interactions between the complex terrain
and the annual reversal of the surface monsoonal winds.
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3.4.1.2 Annual cycle and semiannual cycle of rainfall

Figure 3.8 shows the first two harmonics of the annual variation of analysed monthly
station rainfall computed by Chang et al. (2005b). The first harmonic, which repre-
sents the annual cycle mode, is represented by a 12-month clock with length indicat-
ing the amplitude and a northward phase indicating maximum rainfall in January.
The heavy dots indicate locations where the annual cycle mode is considered weak
because its amplitude is no more than 40% of the maximum rainfall and the phase
difference is at least two months. These locations are situated mainly in the eastern
and central Philippines, north-east Borneo, southern Thailand, and parts of the
north-west end of New Guinea. The reason for the weak annual cycle varies geo-
graphically. For example, in southern Thailand the wet season extends through the
boreal summer; but this culminates in a period of intense rainfall at the end of the
wet season around September. In contrast, in north-east Borneo the rainfall tends to
be well distributed over all months of the year, so the magnitude of the annual cycle
is small.

Over the western Maritime Continent the phase of the annual cycle moves in a
clockwise manner, reflecting the general trend of the seasonal march that follows the
sun. The annual cycle maximum occurs mostly in northern autumn in the Malay
Peninsula and northern Sumatra and changes to around December in southern
Sumatra. Over the rest of Indonesia, the maximum of annual cycle occurs during
boreal winter in most places near and south of the equator. However, significant
local variations in both amplitude and phase exist. As indicated in Figure 3.8 and
discussed by Chang et al. (2004a, 2005b), most of these variations are due to inter-
actions between the complex terrain and a simple annual reversal of the surface
monsoonal winds. A most notable variation is over the central Celebes and the
Molucca area, where the maximum in the annual cycle of rainfall tends to occur
during boreal spring and early boreal summer, rather than boreal winter as is in most
other places near and south of the equator. This variation has been noted by many
previous investigators (e.g., Wyrtki, 1956; Ramage, 1971; Hamada et al., 2002;
Aldrian and Susanto, 2003; Aldrian et al., 2003). Chang et al. (2005b) showed, by
analysing QuikSCAT sea surface winds, that this is again the result of the wind—
terrain interaction. An east—west oriented mountainous ridge lies along the islands in
the Molucca area. The east and south sides of these islands are sheltered from the
north-east monsoon winds during boreal winter, but they face the south-easterly
monsoon winds against the terrain during boreal summer.

The second harmonic of the annual rainfall variation represents the semiannual
cycle mode, which is plotted as short black bars in Figure 3.8 at locations where the
semiannual amplitude is at least 80% of the annual cycle amplitude. The semiannual
mode is comparable in magnitude to the annual cycle mode over a large area of the
equatorial landmasses between 3°S—7°N, but only a very small region reflects the
twice-yearly crossing of the sun. Most of the semiannual cycle appears to be due to
the influence of both the summer and the winter monsoon in the western part of the
Maritime Continent where the annual cycle maximum occurs in autumn.
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3.4.1.3 Monsoon regimes and seasonal transitions

Chang et al. (2005b) used the seasonal difference fields in satellite rainfall and surface
wind data to define the monsoon regimes for the four seasons. The boreal summer
and winter monsoon regimes are displayed in Figure 3.9 (color section) — showing
the difference in the Tropical Rainfall Measuring Mission (TRMM) precipitation
radar data and QuikSCAT winds between December—January—February (DJF) and
June—July—August (JJA). Here the warm colors show areas of more rainfall in JJA
and the cool colors show areas of more rainfall in DJF. The general pattern reveals a
structure whereby the boreal summer and winter monsoon rainfall regimes inter-
twine across the equator — both being strongly affected by the wind—terrain interac-
tion. In particular the boreal winter regime extends northward to 5°N and beyond
along the eastern flanks of the major island groups and landmasses, including the
Philippines, Borneo, Vietnam, the Malay Peninsula, and Sumatra. In most of these
areas the high boreal winter rainfall is due to the onshore north-easterly monsoon
winds from the north-west Pacific and the South China Sea. Chang et al. (2005b)
postulated that this asymmetry is due to two factors. The strong baroclinicity
associated with the cold Asia continent during boreal winter gives rise to north-
easterly winds that are stronger than the south-easterly winds in the southern hemi-
sphere during boreal summer. In addition, contrary to the situation in the northern
tropics, very few coastal areas between 5°S—10°S face the prevailing seasonal wind.
Thus, the boreal summer monsoon regime is mostly constrained within the northern
hemisphere.

The northward intrusion of the boreal winter rainfall regime north-west of
Borneo is not a result of direct onshore winds, where the north-east monsoon is
parallel to the coastline. This is the vicinity of the low-level, quasistationary Borneo
vortices (Cheang, 1977). The north-east cold surge winds periodically enhance the
low-level cyclonic shear vorticity off the north-west coast of Borneo. As a result, the
Borneo vortices are often active (e.g., Johnson and Houze, 1987; Chang et al., 2003,
2005a), and the deep convection and heavy rainfall frequently extend offshore by
several hundred kilometers into the South China Sea.

The monsoon regimes during the transition seasons, boreal spring (March—
April-May, or MAM) and boreal autumn (September—October—November, or
SON), are summarized in Figure 3.10 (color section). Here the difference between
a transition season rainfall and the higher of the summer or winter rainfall is plotted
if the transition season rainfall is the maximum of all four seasons. The cold colors
are for MAM and the warm colors are for SON. The QuikSCAT winds for both
seasons are also plotted. In general, the SON monsoon rainfall dominates areas
north of the equator and the western side of the domain, while the MAM
monsoon rainfall dominates areas south of the equator and the eastern side of the
domain. The equatorial belt of 10°S-10°N is divided near central Borneo, with the
SON regime to the west and the MAM regime to the east. Away from the equator,
significant northern hemisphere SON monsoon rainfall can also be found in the
South China Sea and ecast of the Philippines. Similarly, significant monsoon
rainfall does not exist in the southern hemisphere MAM regime. This is consistent
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with Matsumoto and Murakami’s (2000) observation that early season cold surges,
that originate from the Asian continent during boreal autumn, are stronger than
those that originate from Australia during boreal spring. Overall, Figure 3.10 depicts
the asymmetric seasonal march noted earlier. During boreal autumn, the maximum
convection moves from India south-eastward and crosses the equator, but during
boreal spring the maximum rainfall remains mostly south of the equator without a
north-westward progression.

Chang et al. (2005b) showed that this spring—autumn asymmetry may be
explained by a global-scale redistribution of mass between land and ocean areas
during spring and autumn whose signals can be detected over most of the Earth’s
atmosphere. The redistribution results from different land—ocean thermal memories
and atmosphere—ocean interactions. Because of the orientation of the Asian and
Australian landmasses, it produces SLP patterns that lead to asymmetric wind—
terrain interactions throughout the region, and a low-level divergence asymmetry
that facilitates the south-eastward march of maximum convection from the Asian
summer monsoon to the Australian summer monsoon, and hinders the reverse
march in boreal spring. Other hypotheses that may explain the asymmetry include
seasonal varying east-west SST gradients over the equatorial Pacific and Indian
Oceans (Wang, 1994; Li and Philander, 1996; Webster et al., 1998), different equa-
torial basic flows in the western Pacific and Indian Ocean (Matsumoto and
Murakami, 2002), an oceanic region of subsidence located to the west of heat
sources as a Rossby wave response (Hung er al., 2004), and the tendency of
boundary layer convergence to occur to the east of the deep convection over the
ocean (Li et al., 2004).

3.4.2 Interactions of cold surges, synoptic disturbances, and MJO

The western part of the Maritime Continent that surrounds the equatorial South
China Sea is influenced by large-scale disturbances that vary over a wide range of
timescales: the quasibiweekly cold surges from the north, the intraseasonal MJO
from the west (Chapter 5 by D. Waliser), and the synoptic-scale vortices near the
west coast of Borneo. Due to the interaction between north-east monsoon winds and
the terrain, these Borneo vortices have the highest frequency of occurrence of any of
the other quasistationary synoptic disturbances in the entire equatorial belt (Chang
et al., 2004a).

Chang et al. (2004a, 2005a) documented the interaction of these three motion
systems on the large-scale patterns of convection, low-level winds, and divergence
over the equatorial South China Sea in an analysis of Geostationary Meteorological
Satellite black-body temperature (73;). A convection index (CI) was used to
represent the distribution of convection around the southern South China Sea,
where CI = 250(°K) — T}, for Tp, <250°K and CI =0 otherwise. They found
that nearly 1/3 of boreal winter days have one or more vortex centers in the
western Borneo—southern South China Sea region, and about 1/3 of these days
are surge days. On the other hand, only about 1/5 of the ‘no vortex’ days are
surge days.
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The impacts of cold surges and Borneo vortices on deep convection, identified
by analysing the 2—15-day filtered data, are shown in Figure 3.11 (color section).
When neither surge nor vortex is present (Figure 3.11(a)), convection is reduced over
the equatorial South China Sea and enhanced downstream of the mean north-
easterly wind over the Malay Peninsula, Sumatra, and Java, where the monsoon
wind interacts with the terrain. This pattern is almost reversed when a vortex is
present without a cold surge (Figure 3.11(b)). The presence of the Borneo vortex
results in a deflection of the low-level winds and convergence to the west coast of
Borneo, such that the primary area of deep convection occurs more upstream near
the west coast of Borneo and over the southern South China Sea. Convection over
the landmasses downstream from the surge is suppressed. The presence of a cold
surge basically enhances these two opposite patterns (Figures 3.11(c) and (d)). The
locations of convection during surge cases with and without a vortex are similar to
those in the respective no surge cases, however the magnitude is much stronger with
a surge. Convection over the southern South China Sea is strongest when both surge
and vortex cases are present (Figures 3.11(d)).

An extreme case of the interaction between a strong cold surge and a Borneo
vortex is the rare formation of Typhoon Vamei near the equator on 26 December
2001 (Chang et al., 2003). Figure 3.12 (color section) shows the sustained strong
surge prior to the development of Typhoon Vamei. The surge appeared to spin up a
Borneo vortex that stayed over the southern tip of the equatorial South China Sea
for one week. However, such a formation is extremely rare because cold surges tend
to shift the vortex center toward Borneo, where the vortex is unlikely to intensify
into tropical cyclone strength over land.

The MJO over the Maritime Continent region may be represented by a singular
value decomposition (SVD) on 30-60-day filtered 850-hPa winds and OLR (Chang
et al., 2004a, 2005a). Four phases of MJO that are defined by the two leading SVD
modes are shown in Figure 3.13. During the dry phase, convection over the Maritime
Continent is reduced and equatorial easterly anomalies exist between 80°—150°E.
During the dry-to-wet phase, the region is in a transition from the reduced convec-
tion regime of the MJO to the active convective regime of the MJO. During the wet
phase, convection is enhanced over the eastern portion of the Maritime Continent
and low-level westerly anomalies exist throughout the region. During the wet-to-dry
transition phase the active convection regime has moved to the equatorial western
Pacific and the reduced convection regime is approaching the Maritime Continent
from the west.

Chang et al.’s analysis showed that cold surges occur more frequently during
periods of no MJO’s (29%) and the wet and wet-to-dry phases (28%) of MJO
periods. During the dry and dry-to-wet phases the percentage of surge days is
only about 15. So the net effect of the MJO is to reduce the frequency of surges.
Also, nearly twice as many vortex cases occur during periods with no MJOs than
periods with MJOs. During MJO periods, the distribution of the number of vortex
cases varies only modestly among the four phases.

During the MJO dry phase, the composite Borneo vortex case (Figure 3.14(a),
color section) is similar to the composite of vortex cases with no surge
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(a) MJO Phase 1 (dry) (b) MJO Phase 2 (dry-to-wet)
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Figure 3.13. Composite 850-hPa winds (m s7!) and anomalous OLR (Wm™?) for the four
phases of the MJO based on time coefficients of an SVD analysis of the winds and OLR.

The terms dry and wet refer to increased or reduced convection over the Maritime Continent.
Adapted from Chang et al. (2005a).

(Figure 3.11(b)). This similarity indicates that the MJO dry phase may inhibit cold
surges, so the Borneo vortex most likely occurs without a surge during this phase.
During the dry-to-wet phase, the deep convection over the equatorial South China
Sea and the low-level winds associated with the Borneo vortex (Figure 3.14(Db))
become more organized. North-east winds appear over the southern South China
Sea but their magnitude is much less than that in the vortex and surge composites
(Figure 3.11(d)).

Although the MJO wet phase is associated with a higher cold surge frequency
than the dry phase, the cyclonic circulation of the vortex seems to be more linked to
cyclonic horizontal shear associated with equatorial westerly winds rather than
north-easterly winds that extend through the southern South China Sea. These
increased equatorial westerlies are associated with the enhanced MJO-scale convec-
tion over the eastern portion of the Maritime Continent (Figure 3.13(c)). Conse-
quently, the center of the vortex is located over the southern South China Sea
(Figure 3.14(c), color section). During the wet-to-dry phase (Figure 3.14(d)), the
vortex is very weak with cyclonic shear present only over the extreme western
South China Sea and Malay Peninsula. South-westerly anomalies exist over the
primary region of the southern South China Sea and reduced deep convection
spreads north-eastward along the west coast of Borneo.

The relationships among the MJO, cold surges, and the Borneo vortex are
summarized in Figure 3.15. It is clear that the presence of the MJO is associated
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with fewer numbers of vortex cases, and the occurrence of vortex cases during
periods of weak surges is most reduced during the MJO. Therefore, while the
presence of a surge acts to increase the strength of the Borneo vortex, the
frequency of surges is reduced when the MJO is present. Often the MJO-scale
circulation pattern directly opposes the cold surge wind pattern. Therefore, weak
surges may be more inhibited during periods of strong MJO. Primarily due to the
impact of the MJO on cold surge intensity and frequency, 66% of the vortex cases
occur during non-MJO periods. The Borneo vortex is least likely to occur when the
inactive convective portion of the MJO extends to the Maritime Continent with
large-scale, low-level diffluence that acts to restrict the impact of cold surges on
convection in the southern South China Sea. This complex relationship among
MIJO, cold surges, the Borneo vortex, and the effects of the topography contribute
to the variability of convection patterns over a variety of space and timescales.

3.4.3 Diurnal cycle of convection

Diurnal cycles of deep convection are a prominent feature over the Asian monsoon
(Chapter 8 by R. Johnson) and the tropical western Pacific regions (Nitta and
Sekine, 1994). During the Asian winter monsoon the diurnal cycle of convection
over the Maritime Continent is particularly strong when the land-sea breeze is
enhanced by the availability of abundant moisture. Figure 3.16 (color section)
shows the diurnal cycle vectors computed from hourly CI for December 1998-
2001, with the vector length indicating the amplitude and the vector direction in-
dicating the maximum convection phase for a local 24-hour clock (same convention
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Figure 3.17. Monthly mean (scaled by shading) and standard deviation (contours) of the daily
averaged CIL.

as used by Murakami (1983), Ohsawa et al. (2001), and many others). For compar-
ison, Figure 3.17 shows the monthly mean and standard deviation of the daily
averaged CI. The ratio of the diurnal cycle amplitude over this standard deviation
is a measure of the relative importance of the diurnal variability compared with the
synoptic (day-to-day) variability, and is also plotted on Figure 3.16. The diurnal
cycles have large amplitudes in areas around the big islands. They often overlap but
do not always coincide with the most active deep convection region. Relative to the
synoptic variability, the diurnal cycles are most important around the south or
south-western coasts of the equatorial islands, including Borneo, Sumatra, Java,
and New Guinea. This is the result of the distribution of the synoptic variability,
which is large on the onshore side of the islands and the South China Sea due to the
pulsation of the north-east monsoon winds, including cold surges. On the southern
or south-western coasts this effect is sheltered. This pattern remains in January and
February (not shown) although the difference becomes smaller because of the deeper
penetration of the north-east winds southward.

The diurnal vectors over the land areas indicate maximum CI in the late
afternoon and evening hours, sometimes into the late evening near midnight.
However, the maximum convection usually occurs one or two hours earlier,
because upper level stratiform cloud that gives the high CI values continues to
expand in the outflow layer in the dissipation stage of the mesoscale cloud clusters
(Houze et al., 1981). On the north side of the large islands, the phase of the diurnal
cycle immediately offshore occurs around early morning hours, and the diurnal
signals are conspicuous over a relatively large area over the water that may be
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several hundred kilometers offshore. Houze ef al. (1981) showed that the north-east
monsoon winds interact with the sea breeze and produce strong low-level conver-
gence that enhances this offshore convection. The monsoon enhanced over-ocean
diurnal cycles may occur in regions of strong oceanic convection but it may also
occur in regions with only modest oceanic convection. An example of the former is
over the southern South China Sea north-west of Borneo, where a region of large
diurnal variability overlaps with the maximum monthly mean convection area asso-
ciated with the Borneo vortices. However, north of western New Guinea the monthly
mean convection is modest, but the large diurnal variability is still evident over a
considerable area offshore (Liberti et al., 2001).

Over most offshore regions, the diurnal cycle vectors rotate clockwise in the
direction away from the coastline, indicating an outward movement of the diurnal
phase with time. As a result, several hundred kilometers north-west of Borneo the
diurnal maximum occurs near local noon, which is different from the early morning
maximum commonly observed for deep convection over open ocean (Sui et al.,
1997). The outward phase movement is more extensive than can be explained by
the expansion of the upper level stratiform clouds of mesoscale convective clusters. It
signifies the spreading of the convective cloud clusters outward, probably through
gravity wave propagation (e.g., Yang and Slingo, 2001; Mori et al., 2004).

3.5 AUSTRALIAN SUMMER MONSOON

The Australian summer monsoon is traditionally referred to as the wet season in
northern Australia since over three-quarters of the annual rainfall occurs during the
summer monsoon. Because it is also closely related to the Maritime Continent
monsoon, it is sometimes considered together with the Indonesian wet monsoon
as one larger circulation system that covers the region from the equator to about
15°S and from 100°E to about 155°E.

3.5.1 Evolution and intraseasonal variability

The onset of the monsoon occurs typically in late December, and coincides with a
rapid poleward contraction of the subtropical jet and ridge (Figure 3.18). After
onset, the trade easterlies strengthen south of the monsoon trough and upper tropo-
spheric easterlies develop to produce a deep tropical circulation with a baroclinic
structure. The monsoon typically retreats by April.

Following the onset with an active wind burst, the monsoon is composed of
bursts and breaks that typically last 1-3 weeks (Figure 3.19). The burst and breaks
are often associated with a passage of the MJO, but the MJO is not the only source
of intraseasonal variability, nor is it the trigger for every onset. Hendon and
Liebmann (1990b) showed that over northern Australia the MJO signal shows up
as a peak in the spectrum of the zonal wind and accounts for about 1/3 of the zonal
wind variance in the 30-70-day period. Rainfall does not have a similar spectral peak
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Figure 3.18. First three harmonics of the annual cycle of OLR (contours) and 200-hPa winds

(vectors) averaged in the Australian sector (130°~145°E).
From Hendon and Liebmann (1990a).

within this band, although it is coherent with the zonal wind variations and leads the
latter by a few days.

As will be discussed in the next section, the MJO may only play a modest role in
the monsoon onset. However, a strong interannual variability exists such that during
some years the MJO dominates the monsoon variability. For example, while less
than 10% of the OLR convective variability can be accounted for by the MJO in the
1982/1983 monsoon, this increases to nearly 60% in the 1987/1988 monsoon. Some
of this interannual variability is likely related to the interannual variation in the
strength of the MJO (e.g., Hendon et al., 1999).

Wheeler and Hendon (2004) used an empirical orthogonal function (EOF)
analysis of the OLR and 850-hPa and 200-hPa zonal winds to separate the MJO
mode into eight phases of about one week each. The structure is similar to the SVD
modes in Figure 3.13 in which each of the four phases (dry, wet, and the two
transitions in between) lasts about two weeks and each corresponds to two phases
in Wheeler and Hendon’s eight phases. They showed that suppressed conditions exist
during their phases 1 and 2 (dry phase), with anomalous easterlies across and to the
north of northern Australia. Active convection commences at their phase 4 (second
week of the dry-to-wet transition phase), with monsoonal westerlies becoming
established by their phase 5 (first week of the wet phase). An interesting tropical—
extratropical teleconnection is evident during their phase 3 (first week of the dry-to-
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Figure 3.19. OLR averaged for the north of Australia. Dashed line is mean seasonal cycle.
Heavy bars indicate periods of active convection associated with the MJO, as determined by
CEOF analysis of equatorial averaged OLR and zonal wind at 850 mb and 200 mb. R values
represent OLR variance in the boxed region for each summer monsoon season explained by

the MJO.
From Wheeler and McBride (2005).

wet transition), in which enhanced convection in south-western Australia occurs
ahead of the low-level cyclone before convection becomes established to the north
during their phase 4 (second week of the dry-to-wet transition). By their phase 7 (first
week of the wet-to-dry transition), the active convection has moved off to the east.
At their phase 8 (second week of the wet-to-dry transition), the monsoonal westerlies
have decayed and suppressed conditions are re-established.

Monsoon variability is also associated with large-scale, westward propagating
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disturbances (McBride and Nicholls, 1983; Davidson et al., 1983; Keenan and
Brody, 1988; Hendon et al., 1989). Although it can be quite varied, the phase
speed of the westward convective envelopes is often about the same, except in the
opposite direction, as the eastward phase speed of the MJO (~5ms~'). Usually the
westward convection envelopes have maximum amplitude off the equator, and may
be accompanied by large variations in the rotational wind as well. Such character-
istics suggest that these disturbances are equatorial Rossby waves. The structure and
evolution of a typical Rossby wave in the Australian region are shown in Figure 3.20
(from Wheeler et al., 2000). Symmetric circulation cells are present on either side of
the equator, although in individual cases such symmetry may be hard to detect. Such
westward propagating waves that are detectable as far east as the Date Line have
been found to lead to the development of tropical cyclones in both hemispheres
(Hendon and Liebmann, 1990a; Taylor, 1998).

Another potential source of variability within the monsoon is the cross-
equatorial influence of the cold surges in the South China Sea. Such influences on
convection have been discussed by a number of authors (e.g., Davidson ez al., 1983;
Love, 1985; McBride, 1987; Compo et al., 1999). On the other hand, the influence
at lower frequencies (MJO timescales) has been found from north-easterly flows
originating in the subtropical North Pacific rather than east Asia (Sumathipala
and Murakami, 1988).

3.5.2 Triggers of monsoon onset

While the monsoon onset with a switch from dry south-easterlies to wet north-
westerlies is sudden, sensible heating from the ground surface, which contributes
to the creation of the land—sea thermal contrast in the Australian sector, begins as
early as September (Hung and Yanai, 2004). Hence, some other trigger is required to
initiate the sudden onset. Possible candidates include passage of the convective phase
of the MJO or other synoptic-scale tropical waves that produce moist north-westerly
flow and lower tropospheric convergence (e.g., Davidson et al., 1983; Hendon et al.,
1989), and equatorward penetration of extratropical troughs that perhaps act to
destabilize the upper troposphere (e.g., Davidson et al., 1983; Hung and Yanai,
2004).

Several investigators have reported that the role of the MJO on the monsoon
onset is only modest (e.g., Hendon and Liebmann, 1990a; Drosdowsky, 1996).
Wheeler and Hendon (2004) re-examined the relationship between monsoon onset
and the state of the MJO (Figure 3.21), as defined by the eight phases described in
the preceding section. When the MJO is strong, onset occurs more than 80% of
the time when the MJO is in phases 4-7 (i.e., the half-cycle centered around the wet
phase, when MJO low-level westerlies and broad-scale convection are in the vicinity
of northern Australia) and less than 20% of the time in all the other phases (i.e., the
half-cycle centered around the dry phase, when northern Australia is in the sup-
pressed phase of the MJO). The spread of onsets from phases 4-7 covers a time
window of about 20 to 30 days, which is significantly greater than the +4 days found
by Hendon and Liebmann (1990a). Thus, it appears that the MJO limits monsoon
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Figure 3.20. Horizontal structure of the gravest mode equatorial Rossby wave over a
sequence spanning 21 days, as computed using lagged regression based on a two standard
deviation anomaly in the equatorial Rossby wave filtered OLR series at 10°S, 150°E. Shading/
cross-hatching shows the negative/positive OLR anomalies at the levels of —15, —10, -5, 5,
and 10 Wm™2. Contours are streamfunctions at the 850-hPa level (interval of 5 x 10°m?s™}),
with negative contours dashed and the zero contour omitted. Vectors are the 8§50-hPa wind
anomalies, plotted only where the local correlation of either wind component is statistically

significant at the 99% level.
From Wheeler ez al. (2000).

onset to within its active half-cycle, but the actual onset is often set by other,
presumably shorter timescale phenomena.

Another possible trigger for the monsoon onset is the mid-latitude influence.
Davidson et al. (1983) presented evidence that the onset during the Winter MONEX
was heavily influenced by the synoptic-scale weather disturbances to the south and
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Darwin onset dates in RMM phase space
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Figure 3.21. Onset date each year as a function of the eight phases of the MJO as defined by
Wheeler and Hendon (2004). Onset dates are based on the daily deep-layer mean zonal wind,

at Darwin, Australia as given by Drosdowsky (1996). The phase names given in small

rectangular boxes correspond to those in Figure 3.13.
Adapted from Wheeler and Hendon (2004).

west of Australia. Danielsen (1993) proposed that mid-latitude cold fronts south of
Australia spread cold air northward across the continent, which in turn interacts
with the continental-scale sea breeze over northern Australia and triggers convec-
tion. Such a description bares much similarity to that for the South China Sea cold
surges (e.g., Love, 1985).

Kawamura et al. (2002) proposed that onset involves an air-sea feedback, in
much the same fashion as discussed by Nicholls (1981), Hendon (2003), and Wang
et al. (2003) in the context of the SST evolution north of Australia during ENSO.
They suggested that the initial sensible heating of the continent acts to drive shallow
north-westerly onshore flow, which superposes the mean easterly trades to the north
of Australia. Thus, the surface wind speed is reduced, which leads to reduced latent
heat flux and ocean entrainment mixing, and hence increased local SST. If the low-
level air is in equilibrium with higher SST, then the surface pressure will be lower,
which promotes stronger north-westerly flow (i.e., akin to a Gill (1980) response to
an imposed heat source). The proposed cycle would further reduce the wind speed,
increase the SST, and lead to enhanced convective instability. The monsoon onset
can then occur with an additional trigger, for instance the passage of the MJO.
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3.5.3 Modulation of synoptic weather

Hendon and Liebmann (1990b) showed that enhanced transient kinetic energy at
Darwin accompanies the wet phase of the MJO, along with enhanced rainfall
variance. Although the enhanced kinetic energy occurs throughout the troposphere,
the maxima are around 850 hPa and 100 hPa, which is consistent with the baroclinic
structure common to many tropical systems. Liebmann et al. (1994) also showed a
roughly 2: 1 modulation of tropical cyclones between wet and dry MJO phases in the
Indian and western Pacific sectors (see also Hall ez al., 2001). The hypothesis for such
a modulation is that the large-scale MJO anomalies alter the climatologically
favorable factors for tropical cyclone development by increasing low-level cyclonic
vorticity and reducing vertical wind shear during the active MJO phase (Gray, 1979).

Interestingly, the modulation of tropical cyclone numbers by lower frequency
variability is not restricted to the MJO band. Hence any form of large-scale
variability with a timescale longer than that of the tropical cyclones may alter the
dynamical factors favorable for cyclogenesis and influence the tropical cyclone
activity.

Wheeler and Hendon (2004) also observed modulation of extreme continental
rainfall by the MJO during the summer monsoon. They found a contemporaneous
relationship between the highest quintile of weekly rainfall across Australia and the
phase of the MJO. The normal probability of a weekly rainfall total in DJF being in
the upper quintile is, by definition, 20%. Across the ‘Top End’ region (around
Darwin), the probability varies from less than 12% in the dry phase of MJO to
greater than 36% in the wet phase, which represents more than a tripling of the
likelihood of extreme rainfall from the dry to wet phase of the MJO.

3.6 INTERANNUAL VARIATIONS

3.6.1 East Asian winter monsoon

The east Asian winter monsoon (EAWM) undergoes substantial variations on inter-
annual and interdecadal timescales (Figure 3.22). A strong winter monsoon is char-
acterized by a stronger Siberian—-Mongolian High, Aleutian Low, and low-level
north-easterlies along the Russian coast, a deeper mid-tropospheric trough, and
an enhanced upper level jet (Jhun and Lee, 2004). The EAWM tends to be weaker
in El Nifio years and stronger in La Nina years (e.g., Zhang et al., 1996; Tomita and
Yasunari, 1996; Ji et al., 1997; Wang et al., 2000). Wang et al. (2000) suggested that
warming of the equatorial eastern Pacific surface tends to induce a weak EAWM
through an anomalous anticyclonic circulation over the western North Pacific.
Cooling of the equatorial eastern Pacific tends to lead to opposite effects. They
showed that the western North Pacific anomalous circulation is maintained by
positive air—sea interaction in the presence of a north-easterly trade wind. It has a
baroclinic structure but is confined in the lower troposphere. Some studies (Li, 1990;
Xu and Chan, 2001; Chan and Li, 2004) also suggested that the EAWM anomalies
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may trigger SST anomalies in the equatorial eastern Pacific by inducing anomalous
convection and exciting anomalous westerlies in the equatorial western Pacific.
Tomita and Yasunari (1996) suggested that the EAWM plays an important role in
the biennial oscillation of the ENSO-monsoon system through wind evaporation
feedbacks. However, Wang et al. (2004) pointed out that the impacts of ENSO on
the EAWM are more significant while an anomalous EAWM is not a sufficient
condition for ENSO occurrence.

SST in the western North Pacific and the extratropical North Pacific may also
play a role in the interannual variations of the EAWM (Kitoh, 1988; Chan and Li,
2004). Yang et al. (2002) found that the east Asian jet steam is coupled to a tele-
connection pattern spanning the Asia—Pacific-North America sector. A stronger east
Asian jet steam is associated with a deeper Aleutian Low and east Asian trough and
a stronger east Asian winter monsoon. They pointed out that the teleconnection
associated with the east Asian jet steam differs significantly from the ENSO-
related teleconnection. The former has stronger impacts on Asian and Pacific
climate and is associated with extratropical North Pacific SST, instead of the
tropical central-eastern Pacific SST.

Snow cover over the Eurasian continent is another factor influencing the
EAWM. Several observational studies showed that positive snow cover/depth
anomalies over Siberian, north-eastern China, and far-eastern Russia during the
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autumn—winter season lead to a strong winter monsoon (e.g., Watanabe and Nitta,
1999; Clark and Serreze, 2000; Jhun and Lee, 2004). This is supported by general
circulation model simulations, which showed that extensive snow cover induces a
stronger than normal Aleutian Low and Siberian-Mongolian High, enhanced east
Asian jet, and colder lower troposphere, and leads to a stronger winter monsoon
(Watanabe and Nitta, 1998; Kumar and Yang, 2003; Gong et al., 2003). The impacts
of snow cover and SST on the northern winter extratropical climate were compared
in Kumar and Yang’s (2003) simulation. They found that the atmosphere and the
underlying snow form a positive interaction that influences the lower tropospheric
temperature and circulation. The snow cover anomalies affect the atmospheric cir-
culations through the variations of the low boundary layer properties (such as
surface albedo). In contrast to the top-down influence of the tropical SST on the
extratropical circulation through teleconnections, the influence of snow cover is
more direct and confined to the lower troposphere.

A noteworthy interdecadal variation of the EAWM is the apparent weakening
of the EAWM since the late 1980s (Figure 3.22). This weakening has been noticed by
many investigators (e.g., Koide and Kodera, 1999; Watanabe and Nitta, 1999;
Nakamura and Yamagata, 1999; Nakamura et a/l., 2002; Jhun and Lee, 2004) and
also reported prominently in Chinese literature (Chapter 4). A remarkable signal
that emerges is the possible relationship between the decadal change of the EAWM
and the North Atlantic Oscillation (NAO) (Wu and Huang, 1999; Li and Li, 2000;
Wu and Wang, 2002), which has a phase change in the late 1980s (Figure 3.22). The
NAO is associated with changes of surface temperature and snow cover over the
Eurasian continent; therefore, it may affect the EAWM through thermal advection.
In addition, Watanabe (2004) suggested that the convergence anomaly over the
Mediterranean Sea accompanying the NAO may induce an upper level wave train
and cause surface warming over east Asia. Some studies also suggested that snow
extent anomalies over Siberia may induce a phase change of NAO/AO (Arctic
Oscillation) and the variations of EAWM, and cause a simultaneous correlation
between the two on interdecadal timescales (Watanabe and Nitta, 1999; Cohen
and Entekhabi, 2001; Gong et al., 2002; Jhun and Lee, 2004).

3.6.2 Relationship of the Maritime Continent/Australian monsoon with ENSO

Many investigators have noticed the considerable influence of the ENSO on the
Indonesian and Australian rainfall (e.g., Braak, 1919; Nicholls, 1981, 1985;
McBride and Nicholls, 1983; Hastenrath, 1987a; Ropelewski and Halpert, 1987,
Allan, 1991; Nichol, 1998; Webster et al., 1998; McBride, 1998; Ooi, 1999;
Haylock and McBride, 2001; Hamada et al., 2002; Hendon, 2003; McBride et al.,
2003), but the impact is very weak during the boreal winter season (Figure 3.23 from
McBride and Nicholls, 1983; see also Holland, 1986). The Australian summer
monsoon rainfall is modestly correlated with ENSO (~ —0.4), but the bulk of this
negative correlation comes from a strong negative correlation in the transitional
season (Nicholls et al., 1982). Once the monsoon is active, the correlation with
ENSO is very low.
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MAR - MAY

Figure 3.23. Simultaneous correlation between Darwin pressure and district rainfall for the
four seasons (December—February, March—-May, June-August, September—November). Data

from 1932-1974.
From McBride and Nicholls (1983).

The loss of correlation is also reported between Indonesian wet monsoon season
(boreal winter) rainfall and ENSO (e.g., McBride and Nicholls, 1983; Ropelewski
and Halpert, 1987; Kiladis and Diaz, 1989; Haylock and McBride, 2001; Hendon,
2003; McBride et al., 2003; Aldrian et al., 2003; Chang et al., 2004a). Haylock and
McBride (2001) pointed out that the spatial coherence in the Indonesian wet season
rainfall is low and therefore no single predictor is likely to explain a substantial
proportion of rainfall variation over the entire region. Chang et al. (2004b)
showed that the strong effect of the wind—terrain interactions over the Maritime
Continent region may lead to local rainfall-ENSO relationships that vary among
different subregions during northern winter, when the region is affected by cold
surges from the north, Indian Ocean zonal wind anomalies from the west, and
cross-equatorial flow from the south. They showed that during 1979-2002 the cor-
relations between DJF rainfall and Nino 3 SST (Figure 3.24) are mostly negative
over a significant part of the Maritime Continent and vicinity except near the
Sumatra and Malay Peninsula (SMP, including the western sections of Java and
Borneo), where the correlations range from zero to weakly positive. This area has
been shown to have low correlation with ENSO in other seasons as well (Ropelewski
and Halpert, 1987; Aldrian et al., 2003). Thus, the low correlations between Indo-
nesian wet monsoon rainfall and ENSO may be due in part to the averaging of
rainfall in two regions with opposite characteristics. They also showed that there
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Figure 3.24. Correlations of 1979-2002 CMAP rainfall with Nifio 3 SST. Areas above the 5%
significance level are shaded. The following rainfall index regions are delinecated: SMP
(Sumatra—Malay Peninsula); SWO (south-west oceanic area south-west of Sumatra); and

CMC (central Maritime Continent).
From Chang et al. (2004b).

was an interdecadal change around the late 1970s with an overall trend showing that
the rainfall has been more negatively correlated with the ENSO in recent decades
(Table 3.1). However, the correlations remain lower than those of the dry (boreal
summer) and transition (boreal autumn) seasons. This is especially so for January,
which has consistently insignificant correlations for all regions and decadal periods.

The onset of the Australian summer monsoon, as defined by the date of the first
250 mm of rainfall at Darwin, is negatively correlated with the ENSO (Nicholls ef al.,
1982). Because of strong persistence of ENSO anomalies from June through
November, onset of the Australian summer monsoon is predictable some months
ahead. But, total wet season rainfall is not correlated with onset date (Table 3.2).
Interestingly, onset date as defined by the first 250 mm of rainfall (which is about 1/4
of the wet season total) is three weeks earlier than onset as determined by the large-
scale rearrangement of the tropical circulation. Thus, the strong negative correlation
of El Nino with onset date and transitional season rainfall occurs before the Aus-
tralian summer monsoon circulation is established (i.e., when northern Australia is
still in a trade wind regime).

Probably because of persistence of ENSO anomalies from June-November,
onset date of the monsoon is also related to the strength of the previous Indian
monsoon. A weak Indian summer monsoon tends to occur during a developing
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Table 3.1. Correlation between Nifio 3 SST and area-averaged Indonesian station rainfall for
western Indonesia (west of 112°E), eastern Indonesia (east of 112°E), and all Indonesia. Values
above the 1% significance are in italic bold. The significance of all other values is below the
7.5% level.

From Chang et al. (2004b).

Winter (DJF) 1950-1978 1979-1997 1950-1997
Western Indonesia 0.49 0.26 0.22
Eastern Indonesia —0.25 —0.62 —0.44
All Indonesia 0.16 —0.30 —0.17

Table 3.2. Correlation between the onset indices and Darwin wet season rainfall. The last row
shows the correlation between June—August pressure and seasonal rainfall. (The 5% signifi-
cance level occurs at a correlation of 0.374.)

From Nicholls et al. (1982).

Darwin rainfall
September—May  September—November December—May

Date of 1st 10 mm —0.267 —0.477 —0.084
Date of Ist 50 mm —0.383 —0.707 —0.111
Date of 1st 100 mm —0.289 —0.817 0.034
Date of 1st 250 mm —0.394 —0.905 —0.040
Date of Ist 500 mm —0.520 —0.819 —0.209
Darwin pressure: June-August —0.335 —0.661 —0.079

El Nifio, which is then followed by a late onset of the Australian summer monsoon.
Joseph et al. (1991) pointed out that the relationship between the strength of Indian
monsoon and onset date of the Australian summer monsoon seems to hold even in
the absence of ENSO. They suggest that the Indian summer monsoon is capable of
driving SST variations (warm in the western Indian Ocean and cold to the north of
Australia), which subsequently act to delay the onset of the Australian monsoon.
Chang and Li (2000) also proposed, in a tropical biennial oscillation theory, that
the Indian summer monsoon affects the subsequent Australian monsoon through
atmosphere—ocean interactions over the tropical western Pacific and Indian Ocean,
with the tropical eastern Pacific SST acting only passively. Such possible behavior
needs to be explored in coupled models with the ENSO artificially suppressed.

Hung et al. (2004) emphasized that the Australian summer monsoon is not
related to the following Indian monsoon, which reflects both the lack of persistence
of ENSO after December and lack of simultaneous relationship of the Australian
summer monsoon and ENSO. They argued that the Australian summer monsoon
acts to disrupt the ENSO cycle.

Hendon (2003) examined the seasonal evolution of SST anomalies through the
ENSO cycle (Figure 3.25, from Hendon, 2003) to gain insight into why the ENSO’s
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Figure 3.25. Correlation of Niflo 34 SST index with SST and surface winds for the (a) MAM,

(b) JJA, (c) SON, and (d) DJF seasons.
From Hendon (2003).

influence on the Australian summer monsoon wanes at the peak of the monsoon. In
the southern winter (JJA) and spring (SON) of an El Nifio year, SSTs are cold to the
north of Australia and winds are anomalously easterly. These cold SSTs reinforce
anomalous subsidence driven by the warm equatorial SSTs in the central and eastern
Pacific. Hence, dry conditions in northern and eastern Australia tend to prevail in
winter and spring. However, in DJF (summer), despite persistence of warm
anomalies in the Pacific and the associated easterly anomalies to the north of
Australia, the cold SSTs to the north of Australia disappear. The reinforcement
they provide to the remotely forced subsidence thus ends.

The evolution of the SST anomalies to the north of Australia has been postu-
lated to stem from seasonally varying air—sea feedback in the region (Nicholls, 1981;
Chang and Li, 2000; Hendon, 2003; Wang et al., 2003). During the winter (JJA) and
spring (SON), the region experiences trade easterlies. In the mean, they act to elevate
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the thermocline in the eastern equatorial Indian Ocean and to promote upwelling
along the Java/Sumatra coast. In other words, the trade easterlies produce con-
ditions favorable for air-sea coupling. Anomalous easterlies (for instance, driven
remotely by El Nino in the Pacific) at this time of year, then would act to (1)
increase the total wind speed (easterly anomaly acting on an easterly basic state)
thereby producing surface cooling through increase latent and sensible heat flux and
(2) further elevate the thermocline in the east and promote enhanced upwelling on
the Java/Sumatra coast thereby producing more surface cooling in the eastern Indian
Ocean. Thus, a positive feedback is produced with colder SST anomalies acting to
raise surface pressure in the eastern Indian Ocean and producing stronger easterly
anomalies. Once the Australian summer monsoon onsets and the mean winds
become westerly, the thermocline in the east deepens and mean upwelling along
the Java/Sumatra coast ceases. Anomalous easterlies now acting on a westerly
basic state will decrease the total wind speed, thereby acting to warm the surface.
Hence, together with the lack of communication between the subsurface anomalies
and the surface (because the mean thermocline is too deep and coastal upwelling is
weak), the easterly anomalies will produce a negative feedback. The positive
feedback during the winter and spring and negative feedback during summer is
offered as an explanation for the strong correlation between onset date and
El Nifio but for a weakening of the negative correlation between El Nifio and
northern Australia rainfall once the monsoon onsets.

Other sources of interannual variability of the summer monsoon include
seasonal variations of MJO activity. Hendon et al. (1999) show that years of
strong MJO activity tend to occur when convection over Australia is suppressed
(i.e., years of strong MJO activity tend to be years with a weak summer monsoon).
Seasonal MJO activity shows little relationship with ENSO (or any other SST
anomalies). Hence, the seasonal rainfall variance accounted for by the level of
MIJO activity is independent of that accounted for by ENSO. However, as the
level of MJO activity is not obviously related to SST boundary forcing (Hendon
et al., 1999; Slingo et al., 1999), it is not clear that the MJO-induced component of
seasonal monsoon variability will be predictable.

3.6.3 Long-term variability of Australian summer monsoon

Besides exhibiting strong interdecadal variability, monsoon rainfall in northern
Australia has been increasing in the heart of the monsoon (north-west and north
central Australia) and decreasing on the east coast (Figure 3.26, from Smith, 2004).
On the broadscale, the monsoon thus can be considered to be strengthening. Wardle
and Smith (2004) suggest that this upward trend of rainfall is driven by the
concomitant upward trend in surface temperature across the continent, which acts
to increase the land—sea temperature contrast, thereby lowering surface pressure
across the continent, resulting in a stronger monsoon. However, associated with
the upward trend in rainfall, surface pressure is observed to be increasing and the
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Trend in Summer Total Rainfall 1950-2003 (mm/10yrs)

Figure 3.26. Australian summertime (DJF) rainfall trend for the period 1950-2003.

Southern Oscillation Index (standardized Tahiti minus Darwin SLP) has been
decreasing (Trenberth and Hurrell, 1994). On interannual timescales, higher
pressure at Darwin is associated with El Nino conditions in the Pacific, negative
Southern Oscillation Index (SOI), and reduced rainfall at Australian longitudes.
Thus, the positive trend in SLP together with the positive trend in rainfall is
counter to the relationship anticipated from interannual behavior. The rainfall
trend is negative on the east coast and does appear to be negative to the north of
Australia, for instance across parts of Indonesia (Climate Change, 2001). And, when
the broader scale Australian/Maritime Continent monsoon is considered (i.e., wet
season rainfall over land including the Philippines and Malaysia), a decreasing trend
in monsoon strength has been observed (Chase et al., 2003). Thus, the trend in
the broadscale monsoon rainfall and surface pressure in the west Pacific is consistent
with behavior associated with interannual variability. The opposite behavior across
north-west and north central Australia is intriguing and warrants further
investigation.
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Synoptic systems and weather
Yihui Ding and D. R. Sikka

4.1 MAJOR RAINY SEASONS

4.1.1 Rainy seasons of the Asian monsoon region and the onset of the
summer monsoon

The annual cycle of the Asian monsoon system has been customarily divided into
two distinct phases: the ‘wet” and ‘dry’ phases (Webster et al., 1998). The wet phase
refers to the rainy season during which warm, moist, and very disturbed wind blows
inland from the warm tropical oceans (the Indian and Pacific Oceans). The dry phase
refers to the other half of the year when winds bring cool and dry air from the winter
Asian continents. The Asian monsoon region assumes the most distinct variation of
the annual cycle and the alternation of dry and wet seasons which is in concert with
the seasonal reversal of the monsoon circulation features (Qian, 2000). The wet
season in general begins from May and ends in October, lasting for about six
months, and the dry season spans from November to April of the next year.
However, for different parts of the Asian monsoon region, the durations of dry
and wet seasons may be different, depending on their climate regions and the
degree of effect of the Asian monsoon. For example, in south Asia, the dry and
wet seasons are very well-defined while in east Asia, four seasons can be evidently
perceived, although the dry and wet seasons are main modes of the annual march of
the precipitation in this region. In mid-latitude regions of east Asia, such as central
China along the Yangtze and Huaihe River basins and Korean Peninsula, they are
not generally included in the dry and wet alternative regions because the wet period
for theses regions is shorter than one month (Bao, 1987). These short rainy periods
mainly occur during prevalence of the summer monsoon in these regions.

The total rainfall amount and rainfall intensity show a remarkable difference
between dry and wet seasons, with a quite large annual range of precipitation that
measures the amplitude of annual variation. The largest annual range exceeding

B. Wang (ed.), The Asian Monsoon.
(© Praxis. Springer Berlin Heidelberg 2006.
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17mmday ! (equivalent to a total summer precipitation greater than 1,530 mm) is
found over the sea in the following areas: the central Bay of Bengal, the south-
eastern Arabian Sea, the Philippine Sea, and the South China Sea (SCS; Wang
and Lin, 2002). These regions with the largest annual range tend to coincide with
regions of maximum summer rainfall. The ratio of summer to annual rainfall is used
to delineate the relative importance of rainfalls in rainy or wet seasons with respect
to annual rainfall. A large ratio implies a heavy summer rainy season vs. a dry
winter. Over the Indian monsoon region and north-east continental Asia, the ratio
exceeds 85%. Over the Philippine Sea, the ratio is also relatively high (over 60%).
The level of 55% provides a seasonal demarcation for the equatorial perennial and
monsoon rainy seasons.

Although there is a clear distinction in the characteristics of the rainy season and
low-level wind variation among India, east Asia and the western North Pacific, the
three components are interlinked (Tao and Chen, 1987; Wang and Lin, 2002). On the
one hand, the Indian summer monsoon (ISM) and the east Asian summer monsoon
(EASM) are closely related through significant exchange and transport of moisture
and heat between them, and the teleconnection effect (Ding, 1994). On the other
hand, the seasonal variation demonstrates a coupling between the EASM and
western North Pacific summer monsoon (WNPSM) in June and July as manifested
by two sudden changes. In mid-June, the monsoon rains burst simultaneously in the
vicinity of the Philippines and along the Meiyu front, and in late July, when the
monsoon rains start in the western North Pacific, the rainy season in north China
reaches its height.

The onset of the Asian summer monsoon is a key indicator characterizing the
abrupt transition from the dry season to the rainy season and subsequent seasonal
march. Numerous investigators have studied this problem from the regional perspec-
tive. It is to some extent difficult to obtain a unified and consistent picture of the
climatological onset dates of the Asian summer monsoon in different regions due to
differences in data, monsoon indices, and definitions of monsoon onset used in these
investigations. Recently, Wang and Lin (2002) have identified two phases in the
evolution process of the Asian summer monsoon. The first phase or the onset
phase begins with rainfall surges over the SCS in mid-May, which establishes a
planetary-scale monsoon rain band extending from the south Asian marginal seas
(the Arabian Sea, the Bay of Bengal, and the SCS) to the subtropical western North
Pacific (WNP). At this stage, the impacts from mid-latitude and regional sea surface
temperature (SST) are also important (Chang et al., 1995; Chu et al., 1997a; Chu
et al., 1997b). The second phase of the Asian monsoon onset is characterized by the
synchronized initiation of the Indian rainy season and the Meyu/Baiu in early to
mid-June. The peak rainy seasons tend to occur primarily in three stepwise phases: in
late June over the Meiyu/Baiu regions, the northern Bay of Bengal, and the vicinity
of the Philippines; in late July over India and northern China; and in mid-August
over the tropical WNP (10°-22°N, 120°-160°E). The rainy season retreats southward
in east Asia during August and September while the ISM and the WNPSM
withdraws southward after mid-September. Ding (2004) has summarized the clima-
tological dates of the onset of the Asian summer monsoon in different regions based
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on various sources by dividing the whole onset process into four stages. (1) Stage 1
(late in April or early in May) — the earliest onset is often observed in the central
Indo-China Peninsula late in April and early in May, but in some cases, the onset
may first begin in the southern part or the western part of the Indo-China Peninsula.
(2) Stage 2 (from mid to late May) — this stage is characterized by the areal extending
of the summer monsoon northward, up to the Bay of Bengal, and eastward, down to
the SCS. (3) Stage 3 (from the first 10 days to the second 10 days of June) — this stage
is well known for the onset of the ISM and the arrival of the east Asian rainy season
such as the Meiyu over the Yangtze River basin and the Baiu season in Japan. The
onset over the Arabian Sea and the western coast of the Indian subcontinents is first
observed, due mainly to the enhancement of the cross-equatorial airflow off the
Somali coast and the development of the onset vortex in the central and northern
Arabian Sea (Krishnamurti et al., 1981b; Ding, 1981). (4) Stage 4 (the first or second
ten days of July) — the summer monsoon at this stage can advance up to north China,
the Korean Peninsula (so-called Changma rainy season), and even north Japan. So,
the onset of the east and south-east Asian summer monsoon and the south Asian
summer monsoon are closely interrelated in the context of the Asian summer
monsoon. However, the earliest onset of the Asian summer monsoon occurs over
the Indo-China Peninsula and the SCS.

The Asian summer monsoon plays a crucial role in moisture transport and
supply of precipitation in this region. In addition, the moisture transport in this
region is a requirement of the moisture and water balance over the Asian
monsoon region. The moisture source and sink distribution in the period of June—
August indicates that most of the Asian monsoon region is a moisture sink (i.e.,
precipitation has a surplus over evaporation). The major regions of moisture sink are
located in the Bay of Bengal, the western Indian Peninsula, the SCS, and south
China, consistent with the maximum precipitation regions. The regions of
moisture source are located in the Arabian Sea, the coastal area of east Africa,
and the southern Indian Ocean. Therefore, much of the moisture supply available
for precipitation in the Asian summer monsoon region comes from the southern
hemisphere, implying the special importance of the interhemispheric moisture
transport. The most remarkable moisture channel originates in the southern
Indian Ocean, crossing the equator near the Somali coastal region, flowing to the
Arabian Sea, the Bay of Bengal, and the SCS. From there, the moisture transport
continuously flows northward into east Asia.

The secondary moisture channel comes from the southern and western periphery
of the subtropical high over the West Pacific. These two moisture channels merge
into a single one in the SCS and the cast Asian region. The pattern of the moisture
flux divergence is very similar to the patterns of precipitation and moisture source
and sink. The strongest moisture convergence is located in the Bay of Bengal, most
of the Indian Peninsula, the Indo-China Peninsula, the SCS, east China, and north-
east Asia. Simmonds et al. (1999), utilizing the European Centre for Medium-Range
Weather Forecasts (ECMWF) data sets, have analyzed the climatological fields of
moisture transport and divergence in the Asian monsoon region. Their results are
basically similar to those described here.
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It is very interesting to study regional moisture budgets prior to and after the
onset of the SCS summer monsoon. Before the onset of the SCS summer monsoon,
the interhemispheric moisture transport is rather weak and even southward. The
northward moisture transport across the northern boundaries of various regions is
generally weak, except for the regions of the Indo-China Peninsula and the SCS. The
moisture sinks occur in the regions of the Bay of Bengal, the Indo-China Peninsula
and south China, where enhanced precipitation may be observed. After the onset the
whole picture of moisture transport and budget rapidly changes and becomes well-
organized (Ding and Sun, 2002). The cross-equatorial flow has its maximum
moisture transport in the western part of the equatorial Indian Ocean. The second
maximum moisture transport is located in the equatorial east Indian Ocean. In the
south Asian and south-east Asian monsoon regions, one may see consistent eastward
moisture transport, all the way to the SCS. The moisture sinks from the Indian
Peninsula to the SCS are consistent with the major observed precipitation regions,
with the Bay of Bengal being the largest.

The northward moisture transport through the northern boundaries has its
maximum in the region of the Bay of Bengal. The SCS takes second place.
However, if one combines together the moisture transport coming from the Indo-
China Peninsula and the SCS, the northern moisture transport into the east Asian
region will come to 22.3 x 10°Kgs™", which obviously exceeds the northward
transport through the Bay of Bengal. This fact implies the critical role of the
moisture transport from the SCS in the precipitation over east Asia.

Below, we will further illustrate the major regional characteristic features of the
rainy seasons of the three subsystems of the Asian—Pacific monsoon region.

4.1.2 The south Asian monsoon region

The south Asian monsoon system, through forming a part of the vast Asian
monsoon system, has several peculiarities of its own and yet interacts in many
ways with the east Asian and the WNP monsoon systems. The summer monsoon
season of south Asia (June to September), also known as the south-west monsoon, is
the main rainy season of the region and is therefore paramount to the sustenance of
its agricultural productivity.

For India as a whole, nearly 78% of the annual rainfall is produced in the
summer monsoon season. However, the rainfall in the monsoon season over the
homogenous southern peninsular of India contributes by only about 60% to
the annual mean, and a significant amount (nearly 30% of the annual) also occurs
in the postmonsoon season or the north-east monsoon rainy season. For annual as
well as monsoon season rainfall, the two prominent high rainfall belts due to
orographic effects are: (i) off the west coast of India and (ii) along north-cast
India and the foothills of the sub-Himalayan ranges. There is a general decrease
of rainfall from east to west in central India and along the Gangetic plains such that
the rainfall is reduced to less than one-third of its magnitude over the Gangetic west
Bengal in the east to the arid regions of west Rajasthan, Saurashtraw, and Kutch in
the west.
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Pakistan mostly lies in an arid zone except for its northern foothills where
significant rainfall occurs in the winter and premonsoon seasons. The monsoon
season contributes by nearly 53% to the annual rainfall. Orographic barriers are
quite important to rainfall distribution. The northern hill ranges in the western
Himalayas enhance the rainfall during the monsoon, winter, and premonsoon
seasons. However, the monsoon rainfall is hardly able to reach Baluchistan
Province in the west as the Kirthar hills do not allow the residual moisture of the
monsoon season to reach this part of Pakistan — except in some abnormal seasons
when monsoon disturbances may reach too far west and cause exceptionally heavy
rainfall over this area (Rahamatullah, 1952).

Bangladesh lies in the humid tropical belt and its rainy season begins in May and
lasts until October. Maximum rain occurs in the period June to August. There are
considerable subregional variations in the spatial distribution of rainfall over
different districts. The hill districts in the south and north-east parts of the
country, lying in the path of monsoon winds, receive annual rainfall of over
400 cm.

Because of the near-equatorial location of Sri Lanka, the intertropical conver-
gence zone (ITCZ) crosses the country twice during the course of the year; firstly in
May and secondly while retracing its path during December. The seasons in Sri
Lanka are not precisely reckoned as per the practice followed in India. The
March to April period is known as the first inter-monsoon, May to September as
south-west monsoon, October to November as the second inter-monsoon and
December to February as north-east monsoon (Puveswaram and Smithson, 1993;
Chandrapalla, 1996). The primary rainfall maximum for Sri Lanka occurs in the
period October to December and the secondary one in May—June. The hills in the
center of the country exercise profound influence on rainfall distribution in both
the monsoon seasons.

For Nepal the three hill ranges, viz. the southern slopes of the front range of the
Chauria hills (extension of Siwalik), receive high rainfall, as the monsoon flow from
the Bay of Bengal strikes the low hills at an acute angle. Rainfall first increases from
the foothills to the low-altitude Chauria hills and then decreases in the low-altitude
valleys and increases again in the mid-mountain valleys of Kathmandu—Pokhara,
being maximum on the southern slopes of the higher Himalayas. Rainfall is much
less along the great Himalayas crests since much of the moisture of the monsoon has
already been rained out. Thus a complex distribution of rainfall occurs in Nepal as
the orientation and elevation of the hills and valleys play a crucial role in rainfall
distribution (Sikka et al., 2004). However, there is a general decrease of rain from
east to west, the maximum rainfall occurring in central Nepal along 84-86°E. The
monsoon rainy period commences early in the east and also extends in that belt even
up to mid-October. The contribution of monsoon rains to the annual rainfall is over
80%.

The Maldives is a country of many islands situated in the south-cast Arabian Sea
and its climate is moist near-equatorial maritime. Rainfall begins to increase in the
pre-monsoon season, reaches maximum in the June—September period, and then
drastically falls between January—February.
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The onset of the monsoon is the most anxiously awaited weather singularity in the
subcontinent as it heralds the rainy season and marks the end of the hot summer. Over
continental India the drama of the onset begins first across the Kerala coast, normally
by 31 May (Ananthakrishnan and Soman, 1988) when heavy rains lash the coastal
state after the cross-equatorial low-level jet (LLJ) (Findlatter, 1969) is established
across the Somali coast into the near-equatorial Arabian Sea. This phenomenon is
usually accompanied by the formation of a mid-troposphere shear zone across the
central Bay of Bengal to the south-east Arabian Sea in which may be embedded a
cyclonic vortex. The vortex may even intensify into a cyclonic storm either in the Bay
of Bengal or south-cast Arabian Sea. The cyclonic storm forming in the south-east
Arabian Sea is known as the monsoon onset vortex (Krishnamurti ez al., 1981b) after
the event which occurred on 11 June 1979 during the summer MONEX year. The
vortex is formed to the north of the LLJ, in the zone of maximum cyclonic shear in the
lower tropospheric zonal winds. In association with the northward movement of the
vortex, the large-scale monsoon current also advances northward along the west coast
of India. George and Mishra (1993) made a dynamical study of the energetics of the
monsoon onset vortex of June 1979 and found that combined barotropic—baroclinic
instability contributes to the genesis of the vortex. On average, the onset vortex forms
in nearly 50% of the years and in other years the onset is accompanied by either a mid-
tropospheric shear line or formation of an offshore trough along 10°~15°N off the
Kerala coast of India, with an embedded weak low-pressure area. Prior to the onset
the cross-equatorial flow increases in strength, the moisture fields build up to the mid-
tropospheric level 7-10 days in advance (Pearce and Mohanty, 1984), the near-equa-
torial cloud band in the Arabian Sea expands eastward, and the upward motion field in
the troposphere near the equator enhances eventually moves northward with the
advance of the monsoon. The regional onset heralds the large-scale linking of the
vast south-east trade wind system and the near-equatorial westerly flow of the pre-
monsoon (May) period, forming a single low-level clockwise monsoon gyre. The
Arabian Sea, which is heated under the cloudless skies of the pre-monsoon,
responds to the onrush of the strong LLJ, and its temperatures abruptly fall even
over the south-east Arabian Sea within 2—4 days of the onslaught of strong winds
and heavily clouded skies. Yin (1949) was the first to link the process of monsoon onset
to the displacement of westerly troughs in the circumpolar westerlies and shift of the
subtropical jet (STJ) to the north of the Himalayan periphery. Pasch (1983) examined
the monsoon onset over India during 1979 from the perspective of planetary-scale
circulation features and noted their gradual setting up prior to the formation of a
transient disturbance off the Kerala coast. Murrakami and Ding (1982) have suggested
that the onset is related to the warming of the Eurasian region by diabatic heating.
Yanai et al. (1992) have linked the onset to the effect of the Tibetan Plateau. Thus the
onset of the monsoon over India is linked to a combination of regional and planetary-
scale changes over the entire Indian Ocean region. There exists a variety in the linkages
of the onset process with the seasonal developments or transitions in the regional and
planetary-scale features. Lack of uniqueness among them points to the initiation of
chaotic dynamics with the formation of the weather system at the Kerala coast which
heralds the onset process.
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According to the IMD (1943), the advance of the monsoon occurs in two direc-
tions, firstly along the south-east to north-west direction in the Bay of Bengal from
mid-May to early June and secondly along the west coast and adjoining peninsular
of India in a south to north direction across the entire west coast of India from the
end of May to mid-June. The advance is facilitated by the formation and northward
movement of the synoptic system which brought the monsoon over Kerala, usually
followed by an overlapping formation of another system within 3 to 5 days of the
dissipation of the first system. Along the Indo-Gangetic plains the advance of the
monsoon occurs from east to west and is associated with the formation of 2 or 3
monsoon depressions/lows. Each synoptic system, moving across the plains advances
the monsoon by about 50 longitudes westward. The monsoon advance takes nearly 3
to 4 weeks to cover the entire Gangetic plains but there are years when the advance
process is arrested as cyclogensis abruptly ceases in the monsoon trough zone.
Subramanya et al. (1984) have examined the variability of the onset and advance
process in space and time. The standard deviation of the monsoon onset date at
Kerala remains about 7 days, and this period is more or less the same over almost all
stations over India. Biswas et al. (1998) have linked the hiatus in the monsoon
advance to the abnormal circulation features occurring in the Himalayan—Tibetan
belt. Thus, the advance of the monsoon over the entire subcontinent is a rather slow
process taking on average nearly 40 to 45 days from its start off Kerala on 31 May to
its culmination by mid-July over central Pakistan. The advance process has also
considerable interannual variability. It occurs in stages, each stage accompanied
by a synoptic-scale disturbance pushing the boundary of the monsoon either
northward or westward. Thus, a variety of planetary and regional-scale processes
and synoptic-scale events are involved in the onset and advance of the monsoon over
south Asia. Krishnamurti and Ramanathan (1982) have linked the sensitivity of the
onset process with the building up of the heat sources over north-cast India and the
Indonesian region and the contribution of divergent flow to the non-divergent flow
resulting in strengthening of the near-equatorial westerlies. The onset and advance
phase is also linked with the low-frequency 30—40-day oscillation (Joseph and Pillai,
1988) following the mid-April one over the south-east Arabian Sea and adjoining
southern Bay of Bengal. The frequency of thunderstorms over the south peninsular
of India increases during mid-April when the oscillation is passing over the region.
Soman and Krishnakumar (1992) and Soman and Kumar (1993) have examined in
detail the monsoon onset over Kerala based on a long series of rainfall and circula-
tion parameter data.

Figure 4.1 shows the sea level pressure and wind distribution for July over south
Asia — typical of the monsoon season. The prominent regional features are the
seasonal low-pressure area over Pakistan, the monsoon trough over the Gangetic
plains toward the northern Bay of Bengal, and the large pressure gradients along the
west coast of India. The monsoon trough bifurcates into two portions over the
northern Bay of Bengal — one going to southern China across Bangladesh and
north-east India, and the other into the South China Sea across Mayanmar,
Cambodia, Vietnam, and Thailand. The trough is most active over India and
shifts southward with a height up to the 500-hPa level. An understanding of the
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Figure 4.1. Mean sea level pressure (hPa) and surface wind distributions over south Asia for
July — typical of the summer monsoon season.

atmospheric boundary layer processes within the monsoon trough along the
Gangetic plains was the focus of a special observational programme known as the
Monsoon Trough Boundary Layer Experiment (MONTBLEX) in 1989 and 1990
(Sikka and Narasmiha, 1995). A huge and distinct clockwise monsoon gyre in the
lower troposphere is centered in the equatorial Indian Ocean connecting the south-
east trades, emanating from the Mascarenes High, to the anticlockwise gyre of the
monsoon trough over the Indo-Gangetic plains through the cross-equatorial LLJ off
the Somali coast (Joseph and Raman, 1966; Findlatter, 1969; Krishnamurti and
Bhalme, 1976). The LLJ near the top of the atmospheric boundary layer (900 hPa)
is the main artery through which moisture is fed into the flow over southern parts of
south Asia and is then carried across the Bay of Bengal to adjoining south-east Asia,
and even into east Asia. The LLJ passes across different SST regimes over the
Arabian Sea before reaching the west coast of India. At the upper troposphere the
flow is reversed with an even more extensive clockwise gyre located over Tibet (the
south Asian High) with divergent wind outflow becoming easterly to north-easterly
toward the equator which attains maximum speeds exceeding 40-50ms ! along
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10°-15°N over southern India (Koteshwaram, 1958), known as the tropical easterly
jet stream (TEJ).

The south Asian monsoon system is the most developed amongst all other
regional monsoon systems in the global tropics as it develops in response to
global-scale diabatic heating producing extremely large temperature gradients
(between the equator to 30°N) in the entire troposphere which are enhanced by
heating of the elevated Tibetan Plateau situated on its northern boundary. The
plateau has the highest temperatures in the middle to upper troposphere during
the monsoon season. Stout and Young (1983) have examined the low-level
monsoon dynamics using satellite derived winds. Research on the south Asian
summer monsoon has enormously increased in the last 50 years and has been very
well reviewed, covering different periods, by Ramage (1971), Rao (1976), Das (1986),
Chang and Krishnamurti (1987), Fein and Stephens (1987), Keshvamurty and
Shankar Rao (1992), Asnani (1993), Pant and Rupa Kumar (1997), and Webster
et al. (1998).

4.1.3 The east Asian monsoon region

The climatological annual rainfall pattern of China is characterized by the decrease
in annual precipitation amount from south-east (>1600 mm) to north-west China
(200 mm). South China is the most abundant precipitation region which is greatly
affected by the summer monsoon. Over most of the Tibetan Plateau (except for its
western part) the annual precipitation is relatively high. The isohyet of 400 mm is
used to distinguish the arid and semiarid regions from the humid region. A salient
feature of the east Asian monsoon region is its great interannual variability of
precipitation. In the eastern part of China, the interannual variability (anomaly
percentage) of annual precipitation changes from —22% to +25%, with north and
north-east China having the maximum (Wang and Ding, 2004). In western China,
the interannual variability becomes more significant — with the range —42% to
+60%. If one examines the maximum interannual variability of annual precipita-
tion, it is found that it changes from —50% to 90% in eastern China and from —80%
to 200% or even greater in western China.

The rainy season in China generally begins with the onset of the summer
monsoon and ends with its withdrawal (Ding, 2004). Rainfall intensity and its
variation are closely related to the fluctuations of the summer monsoon. When the
summer monsoon advances northward, its leading zone and the monsoon rain belt
correspondingly moves from a low latitude to mid and high latitudes. In this process,
as does the leading zone of the monsoonal airflow, the monsoon rain belt undergoes
three standing stages and two stages of an abrupt northward jump. Based on the
time—latitude cross section of 5-day rainfall amounts for eastern China (Figure 4.2)
(Sun and Ding, 2002), the most conspicuous feature is the monsoon onset between
18° and 25°N as indicated by the steep rise in precipitation starting from the first 10-
day period of May. This rainy episode is the so-called presummer rainy season in
south China, Hong Kong, and Taiwan. This characteristic feature has been also
studied by other investigators (Guo and Wang, 1981; Lau ef al., 1988). The first
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standing stage of the major rain belt generally continues into the first 10-day period
of June, and afterwards it rapidly shifts to the valley of the Yangtze River. This
second stationary phase initiates the Meiyu rainy season in central China. The time
span of the season on average lasts for one month (10th June—10th July). The wind
and thermal fields in the Meiyu region are usually characterized by a low-pressure
trough (the so-called east Asian summer monsoon trough) — a weak stationary front
at the surface, significant horizontal wind shear across the front, and frequent
occurrence of prolonged heavy rainfall. The Baiu in Japan and Changma in
Korea also occur in similar situations, but with a regional difference in locations,
timing, and duration which will be discussed later. The Meiyu rain belt is usually
quasizonally oriented near 30°N over eastern China and tilts east—north-eastward
toward Korea and Japan. The quasistationary front (the Meiyu front in China, Baiu
front in Japan, and Changma front in Korea) often extends from a cyclonic low
center west—south-westward as the center itself moves eastward or east-north-
eastward. The heaviest rainfall is mostly associated with eastward moving meso to
synoptic-scale disturbances along the front. Numerous investigators have studied the
development mechanism of this kind of the east Asian summer monsoon (Meiyu)
disturbances and their contribution to the Meiyu rainfall (Tao and Ding, 1981;
Ninomiya and Akiyama, 1992; Chang et al., 1998; Chang et al., 2000).

From mid-July, the rain belt rapidly moves over north China and in August
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farther over north-east China, the northernmost position of the summer monsoon
rainfall. This standing stage of the rain belt causes the rainy season in northern
China that generally lasts for one month. In the early or middle part of August
the rainy season of north China comes to an end, with the major monsoon rain belt
disappearing. From the end of August to early September the monsoon rain belt
moves back to south China again. At this time, most of the eastern part of China is
dominated by a dry spell. Note that from mid-July, the second rainy season or the
revival of the rainy period (Chen et al., 2003) predominates over south China, with a
gap of about 20 days or one month between the presummer rainy season and this
rainy season that is mainly caused by typhoons, the movement of the ITCZ, and
other tropical disturbances in the monsoonal airflow. Around the beginning of
October, the rainy season over eastern China more or less ends and rapidly makes
way for the winter monsoon. Guo and Wang (1981), with analysis of climatological
patterns of summer rainfall by use of a longer record of precipitation in China
(1950-1979), similarly pointed out that the summer monsoon rain belt assumed
three relatively stable periods, with the first period (the presummer rainy season in
south China) having the longest persistence, the third period (the rainy season in
north China) the second longest persistence, and the second period (the Meiyu
season) having the shortest. Figure 4.3 shows the onset dates and durations of
regional rainy seasons, which are quite consistent with the above illustrations. In
south China to the south of the Yangtze River, the rainy season begins in the period
from pentad 26 (6-10 May) to pentad 30 (26-30 May). It is very interesting that the
earliest onset of the rainy seasons in China do not occur along the coastal areas of
south China, but in its central part. In this region, the rainy season also ends earliest
(pentads 36 (26-30 June)-38 (610 July)). In north-west China the seasonality is also
quite apparent.

The Baiu season in Japan and the Changma season in Korea also occur during
the seasonal northward advance of the summer monsoon. As indicated by Ninomiya
and Muraki (1986), the Baiu in Japan begins in early June when rainfall in Okinawa
reaches its peak. In the last ten days of June, the rainfall peak moves to the western
and southern parts of Japan. Then the rainfall peak further moves northward in the
first ten days of July. North of 40°N, no rainfall peaks associated with the Baiu can
be observed. So, the Baiu season in Japan mainly lasts from early June to mid-July,
almost concurrently with the occurrence of the Meiyu in China.

Afterwards, a break of the monsoon rainy period occurs from late July to early
August in Japan (Chen et al., 2003). This break of different spans is also observed in
south China, central China, north-east China, Taiwan, and Korea (Figure 4.4). After
the break spell, monsoon rain resumes for a period from August to September—
October. Therefore, the monsoon rainfall variation during the warm season in
east Asia is generally characterized by two active rainfall periods separated by a
break spell. It is clearly seen from Figure 4.3 that the Meiyu rain band, forming in
early May, progresses northward until the end of July, and diminishes between 40°
and 45°N in north-east China and Korea, and about 40°N in Japan. The passage of
the Meiyu rain band is followed by a break spell (monsoon break) which also
propagates northward. Then, the monsoon rainfall revival after the break is
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Figure 4.4. Latitudinal-time cross sections of CMAP rainfall averaged over longitudinal
zones of (a) 120°-125°E, (b) 125°-130°E, and (c) 130°-140°E, and rainfall histograms of
three regions: (d) Taiwan (120°-125°E, 20-25°N), (e) Korea (125°-130°E, 35°-40°N), and
(f) Japan (130°-140°E, 32.5°-40°N). Different phases of summer monsoons in three regions
are indicated by active, break, and revival. The contour interval of CMAP rainfall in (a)—(c) is

I mmday~', while rainfall amounts larger than 5mmday~' are shaded.
Chen et al. (2003).

clearly observed. Chen et al. (2003) has shown that the monsoon revival in east Asia
is caused by a different mechanism associated with the development of other
monsoon circulation components including the ITCZ and weather systems in mid-
latitudes.

The rainy season in Korea, the so-called Changma, accompanied with a belt-like
peak rainfall zone, begins with the influence of the quasistationary convergence zone
between the tropical maritime airmass from the south, and both continental and
maritime polar air masses from the north (Oh et al., 1997; Qian and Lee, 2000).
Generally, during 2—7 July, the convergence zone or line of both south-westerly
and north-westerly winds is located in the Huaihe River basin between the lower
Yangtze River and the lower Yellow River. The major rainfall area is not observed
over the Korean Peninsula. However, in the next pentad (7-11 July) when the
convergence zone migrates northward, wind and intensive rainfall with
12mmday ! start to dominate the southern Korean Peninsula and Japan, which
is evidently separated from the extensive area of tropical precipitation. Therefore,
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based on the precipitation peak and lower tropospheric circulation features, the
onset date of the north-east Asia summer monsoon or Changma rainy season can
be determined as the period of the 37-39th pentad (late June-mid-July), with a
significant interannual variability. Therefore, the Changma is a shorter monsoonal
rainy season, with mean Changma period being 20 days to one month long. The
break in late July is very short, with the duration of half a month. Starting from late
August, the revival of the monsoon rainy period is also observed in Figure 4.4. The
second rain spell is not long, based on the study by Chen et al. (2003). But Qian et al.
(2002) pointed out that this precipitation surge can maintain until early September,
forming the autumn rainy season in Korea.

4.2 SYNOPTIC SYSTEMS

A variety of synoptic weather systems including monsoon troughs/ITCZ, monsoon
depressions, heat lows, mid-tropospheric cyclones, subtropical highs, mid-latitude
and subtropical fronts, low-level vortices, and blocking high/polar anticyclones can
considerably affect the Asian monsoon. They form during different phases of the
evolution of the south Asian and east Asian monsoon systems.

4.2.1 The south Asian monsoon region

For the south Asian monsoon region, the synoptic systems are mainly of tropical
nature, while they are of hybrid nature for the east Asian monsoon region due to an
existence of very significant interaction between the monsoonal aircurrents and
impacts from mid and high latitudes.

Figure 4.5(a) is a schematic to show the usual places of formation for the
weather systems in summer in the south Asian monsoon region. They are responsible
for the onset and advance phases of the monsoon during June, distribution of
rainfall during the peak phase of the monsoon in July and August, and withdrawal
of the monsoon from mid-September to mid-October. These transient synoptic
weather systems (Alexander et al., 1978; Nagar et al., 1992) are influenced by the
interaction of the south Asian monsoon with other regional atmospheric systems
such as the following. (i) Extratropical circulation systems in the south Indian Ocean
which pulsate the LLJ through the Mozambique Channel (Sikka and Gray, 1981).
(i1) Extratropical systems of the northern hemisphere like western disturbances and
associated troughs in the mid-latitude westerly flow across western and central Asian
sectors (Pisharoty and Desai, 1956; Ramaswamy, 1962). (iii) Synoptic weather
systems like the remnants of typhoon/tropical cyclones which after striking the
Chinese coast near 20°N travel westward and rejuvenate into monsoon lows and
depressions over the northern Bay of Bengal (Krishnamurti et al., 1977; Saha et al.,
1981; Krishnamurti and Ardanuy, 1980). They are also influenced by the northward
propagation of intraseasonal oscillations (ISOs) as well as the eastward moving
Madden—Julian Oscillation (MJO) (Madden and Julian, 1972) in the near-equatorial
zone. (iv) When the monsoon trough hugs the Himalayan rim, the low-level east-
erlies disappear entirely along the Indo-Gangetic plains and are replaced by the
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Figure 4.5. (a) Major synoptic-scale weather systems associated with summer monsoon fluc-

tuations in south Asia.
Provided by Zhang Zugiang.

west—north-west flow along the periphery of the Himalayas. Such a situation, if it
lasts for 2 or 3 days — bringing back the monsoon trough in the Gangetic plains — is
known as the temporary oscillation of the monsoon trough or temporary ‘break’ in
the monsoon. If the submontage position of the trough sticks for more than 3—4
days, it leads to a prolonged ‘break monsoon’ situation. (v) The westward moving
10-20-day oscillation between 10°-15°N from the South China Sea toward India
(Krishnamurti and Ardanuy, 1980) is another important ISO mode which has quite
an influence on the monsoon as it interacts with the 30-40-day mode on the one hand
and synoptic-scale variability on the other.

During the monsoon season, the following synoptic weather systems regulate the
seasonal rains:

(i) The regional monsoon trough and its latitudinal oscillations manifested in the
mid-season ‘active break’ cycle of the monsoon.

(i) The low-pressure systems forming in the monsoon trough on the scale of
1,000-2,000 km and having life spans of 3-7 days, some of them having a
well defined center and extending up to the mid-troposphere.

(i) The north—south oriented offshore troughs along the west coast of India (life
span of 3-7 days) with embedded mesoscale vortices of 1-2 days duration and
horizontal scales of 200 km (George, 1956).

(iv) The monsoon depressions forming within the monsoon trough with a hori-
zontal scale of 2,000-3,000 km and life spans of 3—7 days (Sikka, 1977).
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(v) The mid-tropospheric cyclone forming off the north Konkan—Gujarat coast
with maximum vorticity at 700-600-hPa levels, a horizontal scale of 1,000—
2,000 km, and life span of 5-7 days (Miller and Keshvamurty, 1968).

(vi) The minor cyclonic circulations in the lower and middle troposphere with
horizontal scale of 1,000-2,000 km and life spans of 2—5 days.

(vii)) The north-south troughs from the Gangetic west Bengal to the southern
peninsular of India during weak monsoon conditions with life spans of 3-7
days.

(viii) The western disturbances associated with eastward moving mid-tropospheric
troughs in extratropical westerlies across Indo-Pakistan longitudes and pene-
trating to 30°N along 70-75°E.

(ix) The low-frequency MJO moving eastward on 30-40-day scales along near-
equatorial belts which on several occasions trigger northward-moving
organized convective episodes, particularly after a prolonged ‘break’ in the
monsoon.

Monsoon trough

This is the most dominant feature of the monsoon season, situated along the Indo-
Pakistan plains, and was identified even in the very early scientific studies of the
monsoon by Blanford (1886). Its eastern end is locked with the warm waters of the
northern Bay of Bengal with dominantly moist processes operating on a day-to-day
basis showing diurnal variability also. The western end is situated in the pre-
dominantly dry convective area of western India and Pakistan and occasionally
influenced by the moist processes associated with eastward moving lows/monsoon
depressions/quasistationary subtropical cyclones along the Gujarat coast and
southward extending western disturbances. Keshvamurty and Awade (1970)
examined the dynamics of the mean monsoon trough. Anjaneylu (1969) studied
the heat and moisture budget of the trough region and Mohanty et al. (1983)
studied the moisture and heat budgets over the Arabian Sea during the monsoon.
Bhide et al. (1997) investigated the heat sources and moisture sinks associated with
the westward moving monsoon disturbances. They inferred that precursors of a
monsoon ‘break’ lay in the alterations caused in heat sources and moisture sinks
after an active monsoon disturbance moved from central India toward north-west
India and adjoining Pakistan. The intraseasonal pattern of the oscillation of the
monsoon trough would reveal a dominant 3-7 day synoptic-scale oscillation
period (Keshvamurty, 1973; Murakami, 1976). Heavy rainfall is confined to about
1-2 degrees to the south of the monsoon trough (Raghvan, 1973). During a
prolonged break monsoon episode, suppression of rainfall occurs over central
India with prevalence of subsidence motion as evidenced by the appearance of
stable layers and inversions in the lower/middle troposphere over north-west and
central India along with prevalence of anticyclonic vorticity at 900-850 hPa between
20°-28°N (Sikka and Gadgil, 1978). In an active phase of the monsoon, the trough
could have either one or two cyclonic vortices embedded in it or for a prolonged
period it could remain near its normal or somewhat southward position from the
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normal. The trough is located in its near-normal position or slightly south of its
normal position in a good monsoon season with higher than normal cyclonic
vorticity at the top of the boundary layer and north of its normal position with
lower than normal cyclonic vorticity at the top of the boundary layer in a drought
year (Sikka, 1999). The crux of the monsoon performance is linked with the
dynamics of the monsoon trough. The standard deviation of the trough position is
1.5° in latitudes.

Monsoon lows and depressions

Eliot (1884), for the first time, recognized the existence and pre-eminent position of
the monsoon lows and depressions as rain producing systems. These synoptic-scale
systems form within the monsoon trough — often in the north and central Bay of
Bengal and occasionally even over the north Arabian Sea and land part of the trough
also. A few of the depressions (about 20%) even intensify into cyclonic storms over
the northern Bay and rapidly weaken as they move over land. As most of the lows/
depressions form over the northern Bay of Bengal, organized convection occurs first
near the coast (south-west sector of synoptic systems) which subsequently moves
inland and distributes rain along the track of the systems. This allows the land-
surface processes to operate vigorously and in turn impacts on the monsoon activity.

The average life duration of these low-pressure systems is about five days for
those forming over the Bay of Bengal and three days for those forming over the
Indian land areas. These systems move in a west—north-west/north-west direction
from the northern Bay of Bengal and weaken within the trough after traveling a
distance of 500—1,000 km over land. A few even travel far westward merging with the
seasonal low over western India and Pakistan. Some systems get rejuvenated while
crossing 78°E by the fresh moist air incursion from the Arabian Sea while the
differential thermal advection from north-west India intensifies the upward motion
in the south-west sector of the system, producing abnormally heavy rainstorms with
24-hr point rainfall reaching between 30-100 cm. A few systems, while moving north-
west, recurve along 75°~78°E under the influence of an approaching westerly trough
and produce very heavy rains in the north-east sector of the depression/low along the
foothills of western Himalayas. The formation of these systems indicate a synoptic-
scale dynamic instability of the monsoon trough. The structure of monsoon depres-
sions and associated rainfall patterns have been studied based on case studies
(Koteswaram and George, 1958; Koteswaram and Bhaskar Rao, 1963; and
others) and compositing of several systems (Mulki and Banerjee, 1960; Godbole,
1977; Sikka, 1977; Ding, 1981; Ding et al., 1984; Sarkar and Choudhary, 198S;
Prasad et al., 1990; and others). Rajeevan et al. (2002) have examined the asymmetric
thermodynamic structure of monsoon depressions using microwave satellite data
composited for 10 cases. They found high liquid water content in the south-west
sectors of depressions where the rainfall is known to be heaviest. Combined baro-
tropic, baroclinic, and CISK (conditional instability of the second kind) instability
theory controls the monsoon cyclogenesis (Shukla, 1978).
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Structurally there is not much difference between a monsoon low and a monsoon
depression except that the depression has a well-defined center and winds are
stronger. Both systems have cold cores, tilting southward with height. Maximum
moisture convergence occurs in the south-west sector, and the rainfall maximum is
situated about 200-300km ahead of the center (Pisharoty and Asnani, 1957,
Raghavan, 1965; and others). High-intensity rainfall occurs in association with
mesoscale organization within the depression area. Several studies using quasigeo-
strophic models and balance models have been reported in the 1970s (Rao and
Rajamani, 1970; Awade and Keshvamurty, 1975; Daggupathy and Sikka, 1977
and others). It is generally believed that many of these systems form in situ over
the warm waters of the Bay of Bengal under the upper tropospheric divergent flow of
the Tibetan High and upper tropospheric easterly waves (Koteswaram and George,
1958). Their intensification into depressions or cyclonic storm stages is aided by the
high moisture content and low vertical shear between the lower and upper tropo-
sphere. Ramana (1969) traced the formation of monsoon depressions with tropical
storms of the South China Sea. Saha er al. (1981) are of the opinion that a large
majority of these systems are remnants of the tropical cyclones and typhoons of the
north-west Pacific and they rejuvenate over the warm waters of the Bay after passing
through south-east Asia. Krishnamurti et al. (1977) showed that in some cases
depressions form due to downstream amplification of wave energy after a tropical
storm strikes the Chinese coast near 20°N. Because of the geographical location of
their formation points lying close to land, they strike the coast of Bengal/Orissa/
Bangladesh and hence are unable to intensify into fully mature tropical cyclones,
unlike those forming in the monsoon trough over the South China Sea and the
Philippine Sea. The surface winds are quite strong from the central Arabian Sea
to the central Bay of Bengal during the 2-3 days prior to the formation of a
depression in the Bay. The pressure gradients between 5°-20°N over the Bay at
times increase to 15hPa. Sikka and Gray (1981) linked some of the formations to
the strengthening of the LLJ with a surge in southerly winds crossing the Mozambi-
que Channel after the passage of a baroclinic system in the extratropical westerlies
south of the channel. All such surges do not lead to monsoon cyclogensis, but those
which occur during the eastward passage of Madden—Julian ISO are likely to
influence the formation of monsoon disturbances in the Bay of Bengal. These
synoptic systems also regulate the large-scale air—sea interactions over the Bay of
Bengal as evidenced from the recent study (Bhat ef al., 2001) undertaken with the
data collected by the special Bay of Bengal Monsoon Experiment (BOBMEX-1999).
These monsoon lows/depressions distribute rainfall along the length and breadth of
Bangladesh, submontage Nepal, India, and Pakistan as they organize the moisture
convergence and rainfall on their preferred scale. The rainfall is particularly heavy
when these disturbances form in an overlapping manner (sometimes three in a period
of 10-20 days), possibly on the envelope of the trough position of the ISO lying over
the northern Bay of Bengal. They lead to floods over the central Indian rivers, and
rivers of the Gangetic plains, Bangladesh, and eastern India. Sikka (1977) discussed
different aspects of monsoon depressions. The climatological distribution of low-
pressure areas, depressions, and cyclonic storms of the monsoon season based on 95
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Figure 4.6. Number of low-pressure systems (lows, depressions, and cyclonic storms) which
formed over 4° lat/long blocks over the south Asian region in the summer monsoon season

during 1888-1983.
From Mooley and Shukla (1989).

years of data (Mooley and Shukla, 1989) shows that maximum numbers of low-
pressure systems form over the northern Bay of Bengal (Figure 4.6). On a climato-
logical basis during the monsoon season about 7 depressions and 1.5 cyclonic storms
form over the Bangladesh—India—Pakistan region (mostly over the Bay of Bengal).
On average about 13 low-pressure systems (lows/depressions/cyclonic storms) form
during the monsoon season with a standard deviation of 2.2. There is large inter-
annual variability ranging from 9-18 systems in a season (Mooley and Shukla, 1989).
The drought monsoon seasons usually witness less than normal low-pressure
systems. Sikka (1980) and Dhar et al. (1981) have suggested that the performance
of the monsoon on a seasonal and monthly basis respectively depends on the total
number of lows and depressions forming in the monsoon trough and the number of
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Figure 4.7. The decadal frequency of cyclonic disturbances (low and depressions) and cyclonic

storms over the north Indian Ocean during the period 1899-1999.
From Singh (2001).

days with the existence of low-pressure systems. A secular decrease in the number of
lows and monsoon depressions have been observed in the past two decades as shown
in Figure 4.7 (Singh, 2001).

Mid-tropospheric cyclone (MTC)

An MTC is a class of monsoon disturbance, which was highlighted during the IIOE
(International Indian Ocean Expedition) in the seminal paper by Miller and Kesha-
vamurthy (1968) using research aircraft and conventional data. An MTC has a
unique vertical structure as it is hardly detectable at the surface and in the upper
troposphere. The largest intensity is found in the middle troposphere layer (700-
500 hPa) with a cold core between the surface to 700 hPa, and warm core aloft. It is
usually characterized by very intense convective and non-convective rainfall. It
forms mainly over the north-eastern Arabian Sea off the north Konkan-south
Gujarat coast of India and during an active phase of the monsoon from mid-June
to the end of July and only occasionally over the Bay of Bengal (similarly either
during the onset/advance phase or the revival phase of the monsoon after a
prolonged ‘break’). Often the system is generated within the monsoon cyclonic
shear zone at 700 hPa which gets enhanced when a monsoon depression forming
over the northern Bay of Bengal moves inland. They have a life span of about 5-7
days and produce very heavy rainfall over the north Konkan—Gujarat coast of India.
Carr (1977) made a detailed observational study of MTCs using a diagnostic model
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and validated all the structural characteristic features of the MTCs described above.
He also found that MTCs usually occur with a frequency of one to four times per
year, but more often in the period from 15 June to end of July. As the advection of
warm air over western India reduces from August onward, the formation of MTCs is
also perhaps reduced, but the exact cause is yet to be investigated. Mak (1975)
applied a non-geostropic baroclinic model to theoretically investigate the instability
related with the MTC.

Offshore troughs along the west coast of India and embedded mesoscale vortices

Another important synoptic/supersynoptic configuration in the monsoon is
witnessed in the form of a south to north oriented trough near the surface along
the west coast of India. The trough is particularly well marked during active
monsoon conditions along the west coast as in that situation the rainfall is
heaviest along the coast and decreases at the crest of the western Ghats. George
(1956) was the first to suggest that mesoscale cyclonic vortices, with horizontal
extents of 100-200km and vertical extents of about 3km, often develop in
preferred zones off coastal Karnataka (10°-15°N), Konkan, Goa, and Gujarat
(17°-22°N). These mesoscale vortices appear and disappear in a day or so while
moving northward within the offshore trough with associated shifts in the heavy
rainfall belt. Heavy rainfall exceeding IOCmday_1 and even reaching over 30—
50cmday ! is often associated with the active offshore trough and is concentrated
near the center of a mesoscale vortex. Organization of strong offshore convection
along the west coast of India was investigated in detail by Grossman and Durran
(1984) using the MONEX-1979 extensive observations. They had suggested that the
upstream convergence in the monsoon boundary layer is aided by frictional conver-
gence as the coast is approached and the orography of the western Ghats further
enhances the vertical motion. Later, the latent heat released in the heavy rainfall
regime tends to maintain the convection off the coast. Ogura and Yoshizaki (1988),
using a theoretical model, further stressed the role of latent heat release, dynamical
role of air—ocean fluxes, and orography in maintaining convection off the coast.
Thus, a combination of frictional convergence along the coast, air—sea interactions,
orography, and cumulus convection are responsible for the deep convection along
the west coast of India in the offshore trough. The evolution and decay of these
synoptic entities formed the focus of a special field experiment known as the Arabian
Sea Monsoon Experiment (ARMEX) carried out by the Indian atmosphere—ocean
science community during June—July of 2002 (Sikka, 2003; Francis and Gadgil,
2002).

Western disturbances, mid-season ‘break’ monsoon, and its revival

During the peak phase of the monsoon season over India, mid-latitude westerlies
prevail to the north of 30°N only, and troughs in this extratropical regime generally
pass north of the Indo-Pakistan region. The subtropical ridge along about 30°N acts
as the southern limit of these troughs. However, on individual occasions these
troughs penetrate southward either due to their unusual intensity or due to the
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fluctuations in the intensity of the subtropical ridge. On such occasions a westerly
trough in the upper—middle troposphere, and the associated western disturbance in
the lower troposphere, greatly influence the activity of the monsoon trough over the
Indo-Pakistan region. Mooley (1957) pointed out cases of enhanced monsoon rains
over the western Himalayas and adjoining plains in association with a passing
western disturbance. According to Rao (1976) western disturbances influence the
monsoon trough in a complex manner, viz: (i) intensifying a lower troposphere
low over western India; (ii) enhancing rainfall in a pre-existing system monsoon
low over north-west India; (iii) causing recurvature of depressions and lows in the
75°-78°E belt; and (iv) shifting the monsoon trough to the foothills leading to the
‘break’ in the monsoon. The first three effects are opposite to the last one and relate
to the organization of moisture convergence in the zone of a weather disturbance
over north-west India which is enhanced by the upper tropospheric divergence ahead
of a moving trough in extratropical westerlies. The last effect, which leads to the
monsoon ‘break’, occurs in a situation when the monsoon has already remained
active over central and north-western India for 10-15 days and it is time for the
intraseasonal reversal of the monsoon activity in terms of rainfall as the ridge phase
of the ISO is approached over the northern Bay of Bengal.

The phenomenon of ‘break monsoon’, already discussed to some extent, has
been investigated in detail first by Ramamoorthy (1969), followed by Raghvan
(1973), Pant (1983), and Rodwell (1987). More recently, there has been a renewed
interest in the study of the ‘break’ monsoon (Krishnan et al., 2000; De and Mukho-
padhya, 2002; Gadgil and Joseph, 2003; Bhatla ez al., 2004). The frequency and total
duration of ‘break’ monsoon episodes definitely controls the subnormal performance
of the monsoon on intraseasonal and interannual scales. The ‘break’ monsoon
phenomenon is a reverse of the ‘active’ monsoon spell over central and northern
India and the two demonstrate the two modes of the south Asian monsoon system
(Figure 4.8). Ferranti et al. (1997), Goswami and Mohan (2001), Krishnamurthy and
Shukla (2000), and Lawrence and Webster (2001) have found similarities in the ISO
and the interannual oscillation of the monsoon system. This is not surprising as it is
due to the dominance of the two modes (‘active’ and ‘break’) of monsoon activity in
the monsoon season. The excess and drought monsoon seasons on an interannual
basis are in some way replicate ‘active’ and ‘break’ monsoon events on intraseasonal
scales. Whether this dominance is precontrolled by the land surface—oceanic
boundary forcing (Charney and Shukla, 1981) or results due to the internal
dynamics of the monsoon and air—sea interactions remains still a moot question.
The revival of the monsoon after a short ‘break’ (3—4 days) is due to the synoptic-
scale oscillatory character of the monsoon trough. However, the revival after a
prolonged ‘break’ is distinctly linked with the northward propagating ISO (Sikka
and Gadgil, 1980; Wang and Rui, 1990; and others). Koteswaram (1950) had alluded
to the westward movement of weak low-pressure systems along 10°~15°N over the
Bay of Bengal as a precursor to the revival of the monsoon after a prolonged ‘break’.
In some years the 10-20-day westward moving ISO from the South China Sea
(Krishnamurti and Bhalme, 1976; Krishnamurti and Ardanuy, 1980; Lau and
Chan, 1986) is also responsible for restoring the monsoon trough at a near-normal
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(b)

Figure 4.8. (a) A typical sea level pressure pattern in which there are five weather disturbances
during the active phase of the monsoon. (b) Typical sea level isobaric pattern over south Asia
during a ‘break’ monsoon situation with the monsoon trough lying across the foothills of the
Himalayas and a north—south trough along the east coast of India.
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position and hence the revival of the monsoon after a moderate duration ‘break’
episode.

4.2.2 The east Asian monsoon region

In the east Asian monsoon region, the major weather systems include the monsoon
trough/ITCZ, tropical cyclones, the subtropical high over the western Pacific, the
mid-latitude and subtropical fronts, low-level vortices, blocking highs, and polar
anticyclones. Tropical cyclones will be specifically discussed in Section 4.3 and
polar anticyclones will be discussed in connection with cold waves/cold surges in
Section 4.5. Here, only the other five weather systems will be illustrated in more
details.

The ITCZ

The ITCZ, either previously called the ‘equatorial convergence zone’ or the ‘equa-
torial trough’, is defined as a convergence line of airflows or a confluence zone in the
air stream field (Ding, 1994). At the same time, it corresponds to the near-equatorial
trough region or low-pressure region in the pressure field. On cloud images taken
from weather satellites, the ITCZ is apparently identified as a single or several nearly
continuous and elongated convective cloud bands. The OLR (outgoing long-wave
radiation) data indicates a minimum in the ITCZ region (200-226 Wm 2, in the
western Pacific) (Jiang, 1988). Over the western North Pacific, the mean position
of the ITCZ is 6°N. Another ITCZ is located over the south-eastern Pacific, about
5°S. Therefore, over the western North Pacific, one may observe a double ITCZ
(Hergbert, 1969). In the transition season, the double ITCZ is very evident. The
ITCZ in the western North Pacific is often connected to the monsoon trough in
south Asia. So, some investigators (Gray, 1979) consider the ITCZ in the western
North Pacific as the extension of, or one type of, the monsoon trough. The monsoon
trough is characterized by the great horizontal wind shear, with the westerlies or
south-westerly winds to the south and easterly trade winds to the north. Along the
ITCZ/monsoon troughs, one may observe large areas of cloud systems or clusters,
and even tropical cyclones or typhoons.

The position of the ITCZ monsoon troughs in the flow pattern has great
seasonal variation, especially in south Asia and south-east Asia. It has a southern-
most position in January, located somewhere between the equator and 5°N. In April
or May, the ITCZ/monsoon trough moves northward and is situated about 5°N in
south-east Asia (Matsumoto and Murakami, 2002). In July and August, the
monsoon trough in the northern hemisphere shifts northward and develops. It has
the northernmost position in the Indian Peninsula, reaching 20°-25°N. Over the
western North Pacific and the South China Sea, the ITCZ runs from north-west
to south-east, with an averaging position found at 12°-15°N (Figure 4.9). This part
of the ITCZ is very active, being the birthplace of most typhoons in the north-west
Pacific monsoon region. In autumn, the Asian monsoon trough retreats southward
more readily than over the western Pacific (Figure 4.9(c)).
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monsoon troughs. Shaded areas represent weak wind vertical shear, with |V,50 — Vgsol

>7.5ms™ L.
From Sun and Ding (2002).

It is very interesting to note that an abrupt northward shift of the position of the
ITCZ from the first 10 days of May to the middle of June occurs, which corresponds
to the time period of the seasonal change in the Asian region, characterized by the
onset of the summer monsoon in the South China Sea—Indo-China Peninsula and
the Indian summer monsoon as well as the beginning of the Meiyu rainy season over
the Yangtze River valley.

The ITCZ has significant implications for weather and climate events and cir-
culation conditions in the western North Pacific and east Asia, especially for activity
of tropical cyclones (typhoons) and precipitation. Based on 30 years of typhoon data
over the western North Pacific, Ding and Reiter (1983) studied some climatological
aspects of the variability of formation frequency and its relationship to the tropical
general circulation in the Asian monsoon region. They found that the difference in
typhoon formation between active ITCZ periods and inactive ITCZ periods is quite
significant, the former frequency being 2-3 times larger than the latter. For months
with many typhoons, the ITCZ is located near 20°N, and extends eastward to 160°E,
whereas for months with few typhoons the ITCZ is found near 10°N and ends at
about 30°E (Figure 4.10).

In the typhoon seasons of 1998 and 1999, the numbers of genesis of typhoons
(TY) (Vmax > 33ms™!) and tropical storms (TS) (Vpax: 18-32ms™') were small,
with 1998 having the minimum frequency number (TS 4+ TY: 18, normal: 28). For
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Figure 4.10. Mean streamline at 850 hpa for summer (July—September), (a) for months with
many typhoons, and (b) for months with few typhoons. Black circles denote the location of

first detection of typhoons.
From Ding and Reiter (1983).

the typhoon season of this year the ITCZ was very inactive. In July and August,
there was no ITCZ or monsoon troughs in the tropical western North Pacific. The
areas of weak wind vertical shear favorable for formation of tropical cyclones (Gray,
1967) were not significant and well-organized. The tropical western North Pacific
was dominated by a low-level easterly trade wind. The circulation situation for the
1999 summer was very similar to that for 1998.

Recently, Chen et al. (2003) have investigated the role of the ITCZ and tropical
cyclones in monsoon precipitation over the east Asian and western North Pacific
regions. They pointed out that monsoon rain revival in the southern part of east
Asia is caused either by tropical cyclones or the ITCZ, thus supporting the early
conclusion made by Ramage (1952). Actually, the ITCZ has been rarely considered
by previous studies to exert any impact on the east Asian monsoon rainfall. During
the summer, the Meiyu rain band and ITCZ lie along the north-west and south-west
peripheries of the western Pacific subtropical high, respectively. The sequential
passage of the Meiyu rain band, the subtropical high, and the ITCZ form the
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monsoon life cycle in the southern part of east Asia. In contrast, the monsoon rainfall
variation in the northern part of east Asia exhibits different characteristics, but south-
easterlies along the northern side of the western Pacific monsoon trough (or ITCZ)
may furnish additional moisture to east China, Korea, and Japan, and initiate the
monsoon revival in these regions. Some prolonged heavy rainfall events in the
Yangtze River and north China were significantly affected by the ITCZ (National
Climate Center, 1998). This problem will be further discussed in Sections 4.3 and 4.5.

The subtropical high over the western North Pacific Ocean

This high is one of six or seven high cells embedded in the extensive belts of high
pressure nearly encircling the globe in the subtropical region to the south of the mid-
latitude westerlies. It is an important component of the east Asian monsoon system.
Its activity can exert an effect on the seasonal march of the east Asian summer
monsoon and associated seasonal rain belts. In addition, the subtropical high can
significantly affect the activity of tropical cyclones in the western North Pacific, and
drought and flood events in east Asia. The subtropical high over the western Pacific
assumes a marked seasonal variation in respect to its position, with an alteration
between gradual shift and abrupt jump, which is closely related to the advance and
retreat of major rain belts in eastern China. In general, two abrupt northward jumps
may be observed (Ding, 1994; Wu et al., 2002). The first jump normally occurs in the
middle of June, with the ridge line of the high moving over the region of 20°-25°N.
This shift indicates a northward jump of the seasonal rain belt over the Yangtze and
Huaihe River valleys, heralding the end of the presummer rainy season in southern
China. The second northward jump occurs in the early and middle part of July. This
jump brings the ridge line of the subtropical high over the region around 30°N, thus
leading to the beginning of the rainy season in northern China and the dry season in
the Yangtze River valley. At this time, the tropical easterlies or south-easterlies
(south-easterly monsoon) prevail over an extensive region along the southern and
western flanks of the subtropical high, and the ITCZ advances northward up to its
seasonal northernmost latitude, around 15°N over the western North Pacific and
15°-20°N over the South China Sea, where typhoons may frequently form.

Based on 20-year datasets of the China Meteorological Administration, NCC
(1998) made a statistical study of the relationship between the activity of the Asian
summer monsoon and the position of the subtropical high. Results have shown that
in the case of late onset of the summer monsoon over the South China Sea, or
weaker south Asian or east Asian summer monsoon, the subtropical high in
summer has a position farther to the south than normal, with a probability of
0.89, 0.89, and 0.81 for June, July, and August, respectively. The opposite case is
true. Recently, Tao et al. (2001) have also obtained a similar conclusion that for
years with a stronger summer monsoon, the ridge line of the subtropical high at
500 hPa is located in the region to the north of 30°N and the Indian depression is
stronger than normal.
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The mid-latitude and subtropical fironts

These are one of main rain-bearing synoptic systems during the rainy season in east
Asia. Actually, the major seasonal rain belt is a demonstration of the activity of this
kind of planetary frontal zone. As the season progresses and the summer monsoon
advances northward, the front retreats poleward. Therefore, the major seasonal rain
belt moves from south China to the Yangtze River basin and Japan, and reaches
north China and the Korean Peninsula. The typical frontal zone consists of the low-
level baroclinic zone (the quasistationary front), synoptic-scale convergence zones
(monsoon trough (Chen and Chang, 1980) or frontal low-pressure trough), and a
warm and moist zone ahead of the front. During the process of the southward
intrusion of cold air, a prefrontal low-level jet is usually generated (Chou et al.,
1990). When the frontal system and the attendant low-level jet move southward
into south China, they can produce an extensive area of heavy rainfall. Often, one
or several low-vortices are embedded within the frontal zone, thus greatly enhancing
the intensity of heavy rains. The south-west vortex originating in the eastern
periphery of the Tibetan Plateau is a prominent case of these kinds of frontal
vortices (Chang et al., 2000). They may continuously be created and propagate in
procession eastward along the frontal zone or low-level wind shear line associated
with the front. Generally, above the frontal zone, there is no major upper level
trough in the westerlies. Therefore, the mid-latitude front in the east Asian
summer monsoon season is a low and middle level frontal system, although the
upper air synoptic systems may play an important role.

In the Yangtze River valley, Japan, and the Korean Peninsula, the rainy period
from mid-June to mid-July is the noted Meiyu (Plum Rains) or Baiu season
(Figure 4.11). This rainy season is characterized by the following: abundant pre-
cipitation, high relative humidity, cloudy or overcast, short daily duration of
sunshine, weak surface winds, and frequent occurrence of heavy rainfall. During
the Meiyu season, the Yangtze River valley is vulnerable to flooding and droughts
due to the relative concentration and severity of rainfall amount which produces a
great interannual variability of precipitation (—100% to +250% anomaly percen-
tage). Figure 4.12 shows the long-term mean rainfall patterns during the Meiyu
period (Liu et al., 2003). The rainfall amount for the Meiyu period accounts for
30-45% of the total summer rainfall amount in this region, with the maximum
precipitation found in the middle and lower reaches of the Yangtze River.
Figure 4.13 (color section) illustrates the synoptic model of the Meiyu season. It
can be seen that the Meiyu front, the major synoptic-scale, rain-producing system,
has a unique feature in many ways different from that of the polar front from which
it evolves under the conditions of the east Asian summer monsoon.

As pointed out by Chen et al. (2003), the monsoon rainfall and its variation in
east Asia are closely related to the mid-latitude frontal activities and their evolution.
The onset of the summer monsoon rainfall in each east Asian subregion and
monsoon rain revivals in the northern part of east Asia is triggered by the arrival
of a frontal rain band. Figure 4.14(a) clearly shows the contribution of the frontal
precipitation (Chen et al., 2003).
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Figure 4.11. Onset and end dates of the Meiyu season over the Yangtze River basin.
From WMO (2003).

Low-level vortex

The low-level vortices produced locally over the Tibetan Plateau and its sloping
periphery are unique weather systems of a subsynoptic scale in the east Asian
monsoon region. These topographically generated or influenced -circulation
systems are among the most important rain-bearing systems in east Asia during
spring and summer (Ding, 1992). Low-level vortices have their geographical origin
in three areas: the south-eastern part of the Plateau (called south-west (SW)
vortices), the main body of the Plateau (called Plateau vortices), and the northern
part of the Plateau (termed north-west (NW) vortices because of their location in the
north-western part of China) (Tao and Ding, 1981; Ding, 1994). These vortices can
produce excessive rainfall after they leave the Plateau if they are supplied with ample
moisture and are supported by a favorable large-scale environment. The genesis and
development of these vortices, especially SW vortices, are closely related to activity
of monsoonal airflows. Therefore, they may be considered, to a certain extent, as the
result of interaction between the Plateau and the monsoon. The Plateau vortices are
obviously a weather system comprised of small-scale, shallow-depth, weak intensity,
and short life cyclones. They are generated by a particular underlying surface. Once
they move out of the Plateau, they generally dissipate rapidly due to the changed
conditions of the underlying surface. The Plateau-produced mesoscale vortices are
often generated by organized mesoscale convection. During the summer, the Plateau
receives strong solar radiation, and the overlaying atmosphere often displays strong
convective instability, even under the influence of a subsiding high-pressure system.
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From Liu et al. (2003).
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From Chen et al. (2003).

With strong solar radiation, every mountain peak acts as an isolated heat island
which triggers convection if moisture is available (Reiter and Tang, 1984). If the
convective activity persists for long enough, a mesoscale cyclonic circulation can
develop and, in turn, organize cumulus convection. In this case, the air over the
Plateau is often convectively unstable (00e/0dp > 0) at low levels (Kuo er al., 1986). A
maximum of 6, exists over the Plateau. The center of the Plateau vortex corresponds
very well to the maxima of 6,, suggesting a warm core structure to the Plateau
vortex. The unstable air stratification may be caused by strong sensible heating
from the surface, especially over the central and western parts of the Plateau.



162 Synoptic systems and weather [Ch. 4

Recent studies (Chen and Dell’Osso, 1984; Kuo et al., 1986) suggest that both
baroclinic instability and latent heat release associated with organized convection
over the Plateau might play important roles in the generation of the Plateau vortices.
A vortex often develops within an existing shear line that separates the warm, moist
monsoon flow to the south from the mid-latitude colder, drier air to the north. In
fact, this Plateau-produced vortex is embedded within a sharp, short-wave trough.
This vortex is also associated with strong convective activity throughout its life cycle.
Chen and Dell’Osso (1984) also showed that the intensity of this vortex was sig-
nificantly weakened when latent heat release was removed from the model.

In general, the SW vortex is defined as a 700 hPa closed cyclonic circulation over
south-western China, mainly over the western part of the Sichuan Basin. It is a low-
level circulation system, often only visible on 850 and 700-hPa analyses. On the
surface weather map, one may often observe a negative pressure tendency during
24 hours over the low-vortex region. In this sense, the SW vortex is also called the
SW low vortex. Most of the time, the vortex forms and dissipates without intense
development and the severe weather associated with it, because there is usually a lack
of upper level support and moisture. But if the synoptic conditions are favorable,
the SW vortex may cause severe weather, especially heavy rainfall. The SW vortex
may provide strong orographic lifting to trigger convection and, consequently, a
large amount of rainfall on the steep topography surrounding the Sichuan Basin.
Many cases may be exemplified, for example, the heavy rainfall in the Sichuan Basin
on 1-14 July 1981 which has been extensively studied by numerous meteorologists
(Chen and Dell’Osso, 1984; Kuo, Cheng and Anthes, 1986; Wang and Orlanski,
1987). This heavy rainfall took a large toll on human life and caused much
damage to property. If the SW vortex moves eastward after its formation, it can
cause heavy rainfall over the middle and lower Yangtze River valleys. If the SW
vortex takes a northward track it can bring heavy rainfall to northern China. Ding
et al. (2001) has shown a notable example of consecutive genesis, development, and
eastward movement of three SW vortices in the 1999 Meiyu season.

From the synoptic viewpoint, the genesis and development of the SW vortex
needs to meet two requirements: (1) the existence of a vigorous southerly airflow
from the eastern slope of the Tibetan Plateau to the Sichuan Basin. It may play a
dual role in the genesis of the SW vortex. Dynamically, this southerly wind produces
‘differential frictional effects’, a mechanism first discussed by Newton (1956) in
connection with Colorado cyclone formation, thus leading to the formation of a
cyclonic circulation at low levels. Thermally, the southerly wind may transport
abundant warm, moist air into the eastern slope of the Plateau and the Sichuan
Basin, providing the major moisture source for precipitation and the release of latent
heat. (2) the necessary triggering mechanism. Most of the time, the low-pressure
troughs passing over the Tibetan Plateau act as a triggering mechanism for the
SW vortex. Chang et al. (1998) have studied the development of a low-level SW
vortex which was involved by its coupling with two upper level disturbances. Both
disturbances appeared later than, and upstream of, the low-level vortex. Faster
eastward movements allowed them to catch up with the low-level vortex and led
to a strong vertical coupling and deep tropopause folding. From the regional
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viewpoint, the topography of the Tibetan Plateau is extremely important. It is
suggested that the formation of the SW vortex is a consequence of the blocking
effects of the mesoscale mountain range, located at the south-eastern corner of the
Tibetan Plateau, on the south-westerly monsoonal flow. This is supported by the fact
that the SW vortex develops mainly within the south-westerly monsoon current, that
it is strongest at the lower level during both its formation and mature stages, and that
low-level cyclonic vorticity is present throughout the period during which the south-
westerly monsoon flows around the Plateau. In addition, researchers have argued
about the importance of cold air coming from the north and north-east.

The development of the SW vortex is expected to depend greatly on the effect of
latent heat release, due to the fact that this vortex is usually accompanied by a large
amount of rainfall and convective activity. In order to better document the effects of
strong latent heat release associated with convection, Kuo et al. (1986) calculated the
mesoscale heat and moisture budget associated with a SW vortex which resulted in
the flood catastrophe in the Sichuan Basin on 11-15 July 1981. With weak stability
at the middle levels, latent heat release can induce strong, upward vertical motion,
which in turn enhances low-level convergence spin-up and convective cloud devel-
opment, establishing a positive feedback between the circulation of the SW vortex
and cumulus. Wang er al. (1993) further indicate that the mesoscale vortex in the lee
of the Tibetan Plateau is driven diabatically.

The blocking situation at mid and high latitudes in Eurasia

The blocking situation can exert an important effect on the onset and subsequent
activity of the Asian summer monsoon. The relationship has been recognized since
MONEX in 1979, as one possible precondition for the onset of the Indian summer
monsoon (Sikka, 1981b; Murakami and Ding, 1982). When the Eurasian region is
dominated by the blocking high during the transition season from winter to summer,
the onset of the Indian summer monsoon would be delayed. In such a case, the
westerlies are split into two branches, the southern one of which may flow into
the region to the south of the Himalaya mountains, thus pushing surface cold
highs into northern and central India. This is an unfavorable condition for the
onset of the Indian summer monsoon. The late onset of the Indian summer
monsoon in 1979 was a good example illustrating the effect of a blocking high. In
addition, the change in tropospheric wind vertical shear induced by a mid-latitude
blocking situation over Eurasia can affect the formation of a monsoon depression,
especially in the Bay of Bengal (Raman et al., 1981b).

In east Asia, the effect of the blocking high on the activity of the summer
monsoon and monsoonal rainfalls has been studied by numerous investigators
(NCC, 1998; Yang, 2001). The statistical study of blocking highs in Eurasia in
summer has shown that the Oral mountains, Baikal Lake, and the Okhotsk Sea
are three preferred regions of frequent occurrence (Li and Ding, 2004). Dual-
blocking (Oral mountains and the Okhotsk Sea) and a dipole pattern (Okhotsk
Sea) are particularly stable circulation situations which often lead to prolonged
heavy rainfall over the Yangtze and Huaihe River basins. Under this circulation
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situation, the planetary frontal zone in east Asia will be forced to move farther to the
south than normal, thus affecting the Yangtze River basin due to a splitting of
westerlies. At the same time, the seasonal northward advance of the subtropical
high over the western North Pacific will be suppressed, thus resulting in an anom-
alously southern position. Statistics for the period of 1954-1998 have shown that the
positions of subtropical highs have probabilities 0.75, 0.78, and 0.83 of being further
south than normal for June, July, and August, respectively (NCC, 1998). The
correlation coefficients between blocking index in the Baikal region and the precipi-
tation amount in the Yangtze River basin in July has shown that an extensive area of
positive correlation is located over the Yangtze River basin, implying that this region
will have an above-normal precipitation condition if blocking situations develop
over the Okhotsk or the Baikal Lake regions. The prolonged heavy rainfall events
over the Yangtze River basin during the Meiyu seasons of 1954, 1991, and 1998
occurred under this circulation situation (Figure 4.15).

4.3 TROPICAL CYCLONES

The western North Pacific basin in the Asian monsoon region is a region where the
tropical cyclones (with mean wind maximum >17.2ms™') most frequently occur
from a global point of view, accounting for about 33% of a total number of
approximately 80 tropical cyclones each year (Gray, 1967; Ding, 1994). In the
Indian Ocean, the tropical cyclones mainly occur during premonsoon and post-
monsoon seasons, with monsoon depressions dominating during the monsoon
season. The annual frequency of tropical cyclones in the western North Pacific is
28.3 based on statistics for 1951-1979 by Chen and Ding (1979). Recent statistics for
50 years (1951-2000) have shown an average of 27.6 tropical cyclones, very close to
the previous frequency. Based on the statistics of the Japan Meteorological Agency
(JMA) (Yumoto and Matsuura, 2001), the climatological normal of tropical
cyclones for 1971-2000 was 26.7, lower than the 50-year average. This may be
attributed to the decrease of occurrence frequency of tropical cyclones during the
1990s. Figure 4.16 shows the annual number of tropical cyclones in the western
North Pacific for the recent 50 years (Yumoto and Matsuura, 2001). Similar
diagrams have been produced by Xu and Gao (2003) and Shi (2003).

It can be seen that the interannual variation is quite considerable. The year 1967
was the year with a maximum occurrence frequency of 40 tropical cyclones, while the
year 1998 was the year with a minimum frequency of 14 tropical cyclones. The
decadal variation is also obvious. In the 1950s, the annual number of tropical
cyclones was below normal (26.0), above normal in the 1960s (31.1), nearly
normal in the 1970s and 1980s (27.8 and 27.5), and much below normal in the
1990s (25.8). Especially in the period of 1995-2001, the average annual number of
tropical cyclones was 5.4 less than normal. For climatological normal, the 30-year
average for 1971-2000 (27.03) was nearly 2 tropical cyclones less than that for 1961—
1990, reflecting a marked interdecadal variability. The typhoon season over the
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Figure 4.15. 500-hPa geopotential height fields of (a) the first stage (18-26 May), (b) the

second stage (2-19 June), and (c) the third stage (30 June—13 July), of the Meiyu period.

Provided by Sun Ying of National Climate Center (2003).
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Figure 4.16. Annual number of tropical cyclones in the western north Pacific basin.
From WMO (2003). Source: Yumoto and Matsuura (2001).

western North Pacific generally begins from June (1.76) and ends in November
(2.58), with the culmination of occurrence observed in August (5.82), September
(2.58), and October (3.98), accounting for 69% of the total annual number of
tropical cyclones (Xu and Gao, 2003).

Landing tropical cyclones have very significant impacts on socioeconomic
aspects and people’s lives. On average, there are 7.0 tropical cyclones making
landfall on China, with the maximum of 12 tropical cyclones occurring in 1971
and the minimum of 3 tropical cyclones in 1998. Although the interannual
variation is large, the decadal variability is relatively small, with the minimum of
6.1 for the 1950s and maximum of 7.6 for the 1980s. The persistence duration of
landing tropical cyclones has a significant interdecadal variability, with the minimum
of about 4 days in the 1950s and the maximum of 6 days in the 1960s, 1970s, and
1980s. Out of the total number of 442 landfall typhoons in the most recent 50 years,
95% (421) occurred in the coastal area of south-east China, with Guangdong
province having the maximum landing of tropical cyclones (33%) and Taiwan the
second largest occurrence (19%). Based on the statistics of disaster areas, number of
lives loss, and direct economic loss, damage in China in the most recent 20 years
caused by tropical cyclones has demonstrated an increasing tendency from the mid-
1980s to the mid-1990s. Afterwards, the economic losses and loss of lives have
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Figure 4.17. Track frequency of tropical cyclones in the north-west Pacific.
Computational method is referred to the source (Shi, 2003).

become alleviated, possibly due to a decrease in the occurrence frequency and
intensity of tropical cyclones.

The tropical cyclones also significantly affect other countries and regions of east
Asia and south-east Asia. The severe tropical storm Linda of 1997 was reported to be
the deadliest storm to affect Vietnam since 1904 (WMO, 2003). It formed in the
South China Sea and moved west—north-westward across the southern tip of
Vietnam. Estimates of the dead and missing were in the thousands — mostly
fishermen lost at sea. In 1999, torrential rainfall resulting from Typhoon Olga and
a stationary frontal system resulted in hundreds of fatalities in the Democratic
People’s Republic of Korea, the Republic of Korea, and the Philippines. In 2020,
Typhoon Saomai caused record-breaking rainfall over parts of Japan. In 2001,
Typhoon Chebi in the Fujian province of China in June, with maximum sustained
winds near 120 kmh™', caused more than 150 deaths and severe tropical storm Utor
killed more than 100 people when it made landfall in the Philippines in July.

As indicated in Figure 4.17 (Shi, 2003), tropical cyclones occur and move over a
very broad area, although 91% of them occur between 5°N and 22.5°N over the
western North Pacific (Xu and Neumann, 1984; also see Figure 4.14(b)). The most
active place for tropical cyclones is found in the sea region from 110°-145°E and
from 10°-30°N, with maximum in the regions to the east of the Philippines and the
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south-west of Guan. Tropical cyclones can affect Japan (mainly the western part)
exhibiting a high frequency of 30 tropical cyclones for 1949-2000.

The major regional origins of the initial genesis of tropical cyclones are found in
the following three regions: the region to the east of the Philippines and to the south-
west of Guan, the central part of the Caroline Islands and the central part of the
South China Sea (Wang and Fei, 1987). Chang et al. (2003) showed that intense
winter monsoon cold surges occurred in December 2001 near Singapore, 1.5 degrees
north of the equator (see also Chapter 3.) But the regions where tropical cyclones
intensify into typhoon intensity are different from their regions of origin. The major
region of intensification of tropical cyclones into typhoons is located 5°-10°
longitude to the east of the Philippines. In addition, the South China Sea is also a
region of intensification of tropical cyclones.

Gray (1967) estimated that about 80% of all tropical cyclones originate in or just
poleward of the ITCZ or monsoon trough (also see Figure 4.9(a)). On the other
hand, the large-scale north-westward propagating wave patterns are also related to
the genesis of western North Pacific tropical cyclones (Chang et al., 1996). Therefore,
preferred regions of genesis vary seasonally with the annual migration of the ITCZ.
Enhancement of the flow on either side of this monsoon trough increases the low-
level relative vorticity and makes environmental conditions more favorable for
genesis. Ding et al. (1977, 1994) and Gray (1979) have revealed clustering phenom-
enon of tropical cyclones in time and space, with multityphoons (3—5) nearly simul-
taneously or sequentially forming in a period of 1-3 weeks. This event mainly occurs
under the conditions of an active or extended ITCZ over most of the western North
Pacific in which the ITCZ may hold its easternmost position.

Numerous investigators have studied the impacts of the El Nifio/Southern
Oscillation (ENSO) events on the formation and movement of tropical cyclones
over the western North Pacific. Although there is a general consensus that EIl
Nifio affects the location and frequency of tropical cyclones, the results are
described in a qualitative and somewhat controversial way due to the differences
in analysis procedures, datasets, and definitions of El Nifio events used by different
authors. Recently, Wang and Chan (2002) have revisited this issue using the longest
possible available datasets. They studied changes in tracks, life spans, and occur-
rence frequency of tropical cyclones between the El Nifo and La Nina years and
further explained some possible mechanisms of how the ENSO events can impact
tropical cyclones. They have found that the relationship between the tropical cyclone
activity and ENSO events strongly depends on the intensity of ENSO episodes, with
strong El Nifio or La Nifa events having significant impact and moderate warm
(cold) events not showing definite significant impacts. They have identified two sub-
regions where the largest variability occurs in close association with strong ENSO
events: the SE (5°-17°N, 140°-180°E) and NW (17°-30°N, 120°-140°E) quadrants.
During strong El Niflo (La Nifia) years, the tropical cyclone formation in the SE and
NW quadrants exhibits a dipole anomaly pattern with enhanced (suppressed)
formation in the SE (NW) quadrant (Wang and Chan, 2002). Figure 4.18 shows
that in the SE quadrant the 5 warmest years had 31 tropical cyclone formations while
the 6 coldest years had only 2 tropical cyclone formations. In the NW quadrant, the
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Figure 4.18. Locations of initial tropical storm formation and SST anomalies in peak season
(July—September) during (a) the six strongest El Nifio years (1965, 1972, 1982, 1987, 1991,
1997) and (b) the six strongest La Nifia years (1970, 1973, 1975, 1988, 1998, 1999). The straight

solid lines indicate boundaries of subregions of the western North Pacific.
From Wang and Chan (2002).

situation is reversed, with 28 tropical cyclones forming during the cold event years
while only 7 during the warm event years. In addition, they have found that the mean
life span of tropical cyclones in a strong warm event year (about 7 days) is longer
than that in a strong cold event year. The tropical cyclone tracks differ substantially
between the strong warm and cold event years. During El Nifio autumn, the number
of tropical cyclones that formed south of 15°N and recurved northward across 35°N
is 2.5 times that during cold event years.
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During the 1997-1998 ENSO warm event, the genesis region of tropical cyclones
in 1997 shifted eastward and approximately half of the tropical cyclones formed in a
region south of 20°N and east of 150°E, where storm genesis is usually less than in
the west (Sun and Ding, 2002; WMO, 2003). This eastward shift is consistent with
the above findings of Wang and Chan (2002). In 1999 when the La Nifa persisted
throughout the whole year, a record high mean genesis latitude (21.2°N), compared
with normal mean genesis latitude in the NW Pacific of 16.2°N for 1951-2001, was
established. In the same year, the mean lifetime of tropical cyclones was the shortest
on record (3.1 days) compared with the climatological normal of 5.2 days. These
results are also consistent with the above findings.

Tropical cyclones play a crucial role in the precipitation over east Asia being
major rain-producing systems. As pointed out in Section 4.2 (Figure 4.14(b)), the
revival of the second rainy episode in east Asia is mainly caused by tropical cyclones,
in particular in south China. Therefore, abundant precipitation produced by tropical
cyclones has important significance for water resource supply in this region.
However, heavy rainfall or excessively heavy rainfall brought about by tropical
cyclones may cause severely devastating floods over extensive areas. Typhoon
Winnie in 1997 poured down torrential rainfall in Fujian, Zhejiang, and Jiangsu
provinces, causing great damage, especially in Zhejiang province, with 1,282 km of
sea dykes destroyed, 229 people killed, and a direct economic loss of 33.7 billion
RMB (Shi, 2003). This typhoon also brought about a large amount of precipitation
in north and north-east China.

Occasionally, northward or north-eastward moving typhoons suddenly change
track, turn toward the west or west-north-west, and penetrate deeply inland if a
blocking high to the north of the typhoon builds up rapidly, amplifies, and retro-
grades. Under such conditions, the typhoon, though usually greatly weakened, drifts
in an easterly current and finally becomes nearly stationary because of the blocking
effect of the high-pressure ridge to the north of it. If other conditions are favorable,
prolonged heavy rainfall may ensue. An unprecedented case appeared early in
August 1975 when the typhoon Nina dumped torrential rainfall, with a maximum
of 1,692 mm, during three days over a narrow, elongated band (120 km long and
50 km wide) the windward side of the Funiu Mountain Range. Its most prominent
feature was a large blocking high located to the north of the tropical depression. Due
to the blocking action of this high-pressure region, typhoon Nina showed consider-
ably slow movement two days after landfall, and eventually changed its direction of
propagation from north-eastward into westward. Finally, the depression became
nearly stationary and probably made a small loop over the hilly region in the
southern part of Henan province. The erratic movement lasted for more than 20
hours and was influenced by an extratropical weather system (cold front) as well as
by terrain features.

On 11 September 2000, the typhoon No. 14 (Saomai) hit the Nagoya district,
causing torrential rainfall. A total rainfall amount of 567 mm was recorded at
Nagoya station and a precipitation intensity of 93mmh~" occurred for 19 hrs on
11 September when a cold front affected the typhoon. Floods in the Shonai River



Sec. 4.3] Tropical cyclones 171

basin exceeded the estimated high water level, with 420,000 people facing severe
flooding and evacuation instructions announced.

In the south Asian monsoon region, the premonsoon and postmonsoon seasons
witness the formation of tropical cyclones with different intensities such as cyclonic
storms (CS), severe tropical storms (SCS), very severe cyclonic storms (VSCS-H)
with cores of hurricane winds, and super cyclonic storms with maximum wind speeds
in the circulation between 33-47 kt, 48—63 kt, 64-119 kt and greater than 119 kt per
hour, respectively. These cyclonic storms form within the northern hemisphere near-
equatorial trough (NHET) over the warm waters of the north Indian Ocean and
move generally in a west—north-westerly/north-westerly direction. Some of them
recurve in a north-east direction. The formation points of the cyclones shift from
about 5°~7°N in March to 15°-20°N in May with the northward movement of the
NHET in the premonsoon season and recede southward from 15°~18°N in October
to 5°~7°N in December during the postmonsoon season. The cyclones are not only
more frequent in the Bay of Bengal compared with the Arabian Sea, but the Bay
cyclones are also notorious for causing large devastation to property and loss of life
upon striking the coast. The storms forming in the Bay of Bengal strike the east coast
belt of India. In recent years a devastating tropical cyclone of super cyclonic storm
intensity (maximum wind speeds over 185kt and a pressure drop at the center of
99 hPa) struck the Orissa coast on 29-30 October 1999, killing over 10,000 people
with a storm surge of 6 m above the astronomical tide penetrating 25km in land.
There have been several other equally, or more, notorious intense storms in the past
that have affected the east coast of India and Bangladesh and occasionally the
Myanmar coast. Cyclones forming in November and December over the southern
Bay of Bengal occasionally endanger the coast of Sri Lanka too. Cyclones forming in
the Arabian Sea affect the west coast of India, the coast of Pakistan, and very
occasionally even the Arabian coast. The deltaic regions of the Godavari River in
Andhra Pradesh and Mahanadi River in Orissa in India and the Padma and
Meghana Rivers in Bangladesh are particularly vulnerable to the destructive
potential of these storms as the associated storm surges rise to 3-8 m above the
astronomical tide. All loss of life is due to inundation by storm surges and floods.
The destruction caused by these cyclones is nowhere of greater societal significance
than over the region stretching from the east coast of India to coastal west Bengal
and the coastal belts of Bangladesh.

It is important to recognise that the cyclone genesis potential (GP) is quite high
in the Bay of Bengal during the two cyclone seasons (presence of NHET, high SSTs,
favorable thermodynamical environment, and moderate vertical shear of tropo-
spheric wind). Bhowmik (2003) has examined the changes in the GP during intensi-
fication of the cyclones and found that the GP attains its peak value 24-36 hours
prior to cyclones reaching their highest intensity. Nearly 7% of the total number of
tropical cyclones on a global and annual basis form over the North Indian Ocean
(mostly over the Bay of Bengal). The average number of tropical cyclones forming
over the North Indian Ocean annually is 6 with a standard deviation of 2 and a range
of 1-10. The cyclone frequency may even vary between 1-3 storms in the pre-
monsoon season and 2-5 storms in the postmonsoon season (Mandal, 1991).
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Apart from the great devastation caused by these storms, they are an important
source of water over the interior parts of the south peninsular of India due to the
torrential rains brought by them for periods of two or three days. The structure of
severe cyclonic storms/higher intensity storms is similar to those of typhoons and
hurricanes in the north-west Pacific Ocean and North Atlantic Ocean. The severe
cyclones have a characteristic eye (radius 20—40 km) which is surrounded by a ring of
strong winds up to a distance of 100—150km. Deep convection in the ‘eye wall’
region and the inflowing winds near the surface rushing slowly from a distance of
1,000 km from the center and accelerating as they approach the inner storm area are
characteristic features of intense storms. Satellite pictures show characteristic
features like the cumulus lines of the inflow bands, the outflow cirrus bands, the
central dense overcast element, and the eye of the cyclone. Spiral rain bands, eye
features, and double eye walls are also observed on radar and satellite pictures of
these cyclones (Raghavan, 1990; 1997). The most prominent bands are seen in the
southward quadrant coinciding with inflowing maximum winds particularly in
westward moving cyclones. In recurving cyclones, cirrus cloud bands associated
with the outflow appear in the north-east quadrant preferentially. Diurnal
variation of cloud patterns is observed in the inner core cloudiness, being
maximum at sunrise and minimum at sunset (Kelkar, 1997). The eye wall
structure of the Bay of Bengal cyclones in radar and satellite pictures shows great
dynamic activity as the eye forms, disappears, and reforms within several hours
(Gupta and Mohanty, 1997; Kalsi, 2002).

Over the last 100 years or so research on the climatology of formation, intensi-
fication, movement, and strike points of these storms, mechanisms for their cyclo-
genesis and recurvature etc., have yielded much useful work. This knowledge is
applied by operational forecasters in their work. Upper tropospheric flow patterns
over the region of storm formation control the formation and movement of the
storms. Some storms recurve under the influence of approaching westerly troughs.
Anjaneylu et al. (1969) were among the first to study the heat, moisture, and kinetic
energy budget of a Bay of Bengal cyclone in October 1963. State-of-the-art synoptic—
climatological methods and high-resolution numerical prediction models are now
applied for operational forecasting (Sikka, 1975; Singh, 1985, Mandal, 1991,
Prasad et al., 1997). However, the average vector errors in predicting the center of
the cyclones remain 120, 230, and 320 km for 24, 48, and 72-hour forecasts, respec-
tively. These are quite large errors as the tropical cyclones in the north Indian Ocean
are slow-moving ones compared with the typhoons and hurricanes in the North
Pacific and North Atlantic basins. Nearly 50% of the tropical depressions in the
Bay of Bengal during the pre and postmonsoon seasons intensify into tropical
cyclones out of which almost 80% intensify further into SCS intensity. It may
take several days for a cloud cluster to develop into a tropical depression with a
well defined center, but further intensification is quite rapid and a cyclone may
change into VSCS-H within 48 hours or even less.

The two months of October and November in the postmonsoon season witness
maximum formation of tropical cyclones with the frequency tapering off rather
rapidly in December. Tropical cyclones in the premonsoon season begin to form
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in April and the frequency of formation records a minor maximum in May. The Bay
of Bengal cyclones most frequently strike the Andhra Pradesh coast with a second
maximum in the Tamil Nadu coast. Recurving storms mostly strike Orissa and the
western Bengal coasts, and some of them even strike the Bangladesh coast. On a
country-wise basis, over half the number of cyclones forming in the Bay of Bengal in
different categories have struck the coastal states of India. However, the frequency of
SCS and VSCS-H striking the Bangladesh coast is higher. It is also noteworthy that a
significant number of tropical cyclones dissipate on the Bay itself, particularly those
forming in mid-November to December. This could be due to the influence of
westerly troughs, advection of colder air from the north-west, and travel of the
storms over cooler waters in the northern Bay of Bengal.

Mandal (1991) and Kalsi (2002) have provided good reviews of the observa-
tional forecasting/warning aspects of tropical cyclones. Ali and Chowdhury (1997)
have provided risk assessment of tropical cyclones striking Bangladesh. A large
number of satellite-based studies on these cyclones are available which have
stressed upon the operational classification of these cyclones, and determination of
their centers, their intensification potential, structures of severe cyclones with double
eye walls etc. (Sikka, 1971; Kalsi and Jain, 1989; Mandal et al., 1990; Kalsi, 1999)
and decay of a super cyclone (Kalsi et al., 2003). One of the handicaps for good
prediction of the formation and movement of these storms is the lack of wind data to
define the center of the cyclone for more reliable dynamical prediction. Introduction
of a synthetic vortex, axisymmetric or asymmetric, and its assimilation in the
dynamical prediction models, remains one of the challenging problems for reliable
track prediction. Dynamical models for predicting the storm surge began to be
developed in early 1970s (Das et al., 1974) and a good recent review of these
models is given by Dube et al. (1997).

44 FLOODS AND DROUGHTS IN THE MONSOON SEASON

Floods and droughts are important components of the Asian monsoon environment.
Their occurrence is mainly attributed to the great interannual variability of monsoon
rainfall as indicated in Section 4.1. From the meteorological viewpoint, droughts and
floods mean an excess or deficit of rainfall relative to the normal conditions, regard-
less of the severity of disasters brought about by them (Ding, 1994). A number of
drought and flooding indices have been designed for the climatological perspective.
But, for more widespread and practical use, the departure or anomaly of rainfall
from the long-term mean is used to define droughts and floods. If the precipitation
departure for summer (June—August) is in the range of —25 to —50%, this period or
season may be defined as the drought period/season; if the precipitation departure is
less than —50%, this corresponding spell is defined as a severe drought. Contrary to
this, precipitation departures of 25-50% and greater than 50% are defined as
flooding and severe flooding, respectively.
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Figure 4.19. The year-to-year departure of monsoon rainfall from its norm (June— September)

over India.
From IMD.

4.4.1 The south Asian monsoon region

Figure 4.19 shows the year to year departure of monsoon rainfall from its normal
over India. They differ from year to year, with the great interannual variability.
Significant negative departures of monsoon rainfalls occurred in 1877, 1899, 1918,
1972, and 1987, implying great deficiencies in rainfall or dry conditions. Recently,
the year 2002 was a year of severe monsoon drought, whereas the year 2003 was a
year of normal monsoon rainfall (figure not shown). During the monsoon season of
2002, daily rainfall remained subdued throughout the season whereas in the season
of 2003, it was mostly normal or above normal except for short periods from 10-25
August and 12-22 September. Thus, the behavior of the seasonal monsoon is
determined by a statistical average of independent short-medium and low-
frequency modes. It is still a debatable matter whether the medium and low-
frequency modulations of the monsoon are controlled by predetermined boundary
forcing or by low-frequency dynamical instabilities in the region. Note that in some
years the rainfall departs significantly from the seasonal normal leading to drought
and excess (flood) monsoon seasons.

Floods

Floods are caused by very high rainfall spells associated with monsoon disturbances
like tropical cyclones, depressions, low-pressure areas, MTCs, and western disturb-
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ances. Individual flood events occur in all the major rivers of the subcontinent but
those occurring in the Indus and the Ganges basins on the Indo-Pakistan flood
plains, Brahmaputra basin in north-east India and Bangladesh and Mahanadi,
and the Tapi and Narbada basins in central India are particularly devastating.
The flood problem in the Bihar state of India is made worse by the discharge of
excessive monsoon runoff from the rivers of Nepal. Individual flood events in any of
the above river basins occur even in a drought monsoon year as exceptionally heavy
rainfall does occur with a weather disturbance in a river basin, even though the
overall performance of the monsoon may be below the normal for the season as a
whole. An individual flood event in a river basin is identified by the crossing of the
danger mark in the water discharge along a gauging site which results in the river
water to break its embankments and cause devastation to life, property, and agri-
cultural crops in the surrounding areas. II'TM (1989, 1994) have prepared atlases for
one-day Possible Maximum Precipitation (PMP) and for severe rainstorms which
have affected India. Dhar and Nandargi (1995) have delineated the zones of severe
rainstorms resulting in floods of Indian rivers. Dhar and Nandargi (1998) have
provided an extensive review of the severe floods over India during the summer
monsoon season. There are three distinct belts of one-day duration flood
producing severe rainstorms oriented in east-west direction, viz. along the Indo-
Gangetic plains in the eastward flowing Ganga—Yamuna basins and along central
India, the eastern part of which is in the eastward flowing Mahanadi basin and the
central and western parts in the westward flowing Tapi and Narbada basins. There is
another devastating flooding area in north-ecast India and Bangladesh. The north-
east Indian states are affected three or four times during a season by the heavy
discharge from the Brahmaputra basin and other minor rivers in the area. Bangla-
desh is even more vulnerable to floods as the Brahmaputra discharge from north-east
India joins the flooding waters of the Meghana and Padma Rivers due to heavy
runoff from monsoon rains over the country and the discharge brought upstream
from the Ganges basin across India. The flood problem of Bangladesh is further
aggravated by its flat nature of its deltaic land which is hardly 10 m a.s.l. The slow
discharge of the flood waters into the northern Bay of Bengal further adds to the
flooding in Bangladesh when it coincides with an episode of higher elevation of the
sea level in the nothern Bay on intraseasonal scales (Webster, 2003). There is yet
another type of flood which occurs along the east coast of India and coastal Bangla-
desh during tropical cyclone seasons (pre and postmonsoon). Such floods are accom-
panied by heavy rainfall associated with the landfall of a cyclonic storm as well as,
more importantly, the storm surge accompanying a cyclone.

Besides the individual flood events associated with heavy rainstorms, the
monsoon season over India is excessively wet in some years. A monsoon season
with excess rainfall of over 10% of the normal is designated as an excess or flood
monsoon season. During the 1877-2000 period, there have been 10 years when the
seasonal monsoon rainfall over India as a whole exceeded 13% of the normal (1874,
1878, 1892, 1894, 1917, 1933, 1956, 1961, 1975, and 1988) and in four of these years
the rainfall exceeded 15% of the normal (1892, 1917, 1956, and 1961). Sikka (2000)
has extensively reviewed the literature on heavy rainfall associated with individual
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heavy rainstorms as well as the excess monsoon performance over all of India and on
a large-scale individual meteorological subdivision basis.

Droughts

Monsoon drought is a natural disaster known to India from time immemorial as the
rains in some years underperform over vast parts of south Asia. Over large parts of
India the failure of rains is almost simultaneous and the two homogeneous regions
affected more often simultaneously are north-west India and western central India.
Usually, monsoon seasonal rainfall over north-east India and Bangladesh behave in
opposite phase to the whole of India. In Pakistan, being mostly semiarid/arid,
droughts are common and usually occur in the same monsoon seasons when the
rains have failed over north-west India and western central India. The adverse effects
of a widespread and severe drought over the Indo-Pakistan belt have been so great
that the event is considered as an important marker in the collective economic and
social history of the region. As the summer monsoon is the presiding deity of the
agricultural economy of the region, a drought is commonly linked with a problem of
agricultural productivity and for the resource-poor farm laborers it even becomes a
problem of sustenance. The nexus between the drought and famine in India has been
broken in the last 3 decades with the introduction of the Green Revolution technol-
ogy in agriculture and extension of irrigation facilities. A vast number of monsoon—
drought studies relating to the climatology of all of India, subregional and district
scale droughts, and meteorological conditions on regional and global tropical scales,
considered important for the incidence of droughts over India, have been reported in
the literature. Keshvamurty and Awade (1974) and Sikka and Gadgil (1978)
examined the dynamical abnormalities associated with the droughts over all of
India in 1972. Raman and Rao (1981) linked the drought monsoon of 1979 to the
presence of blocking high over Asia. Bhalme and Mooley (1980) examined the
occurrence of large-scale droughts over India with anomalous monsoon circulation.
Sikka (1999) has extensively reviewed the drought problem over India and discussed
the morphology of several individual ‘all-India’ drought monsoon years. Sikka and
Kulshrestha (2002) have studied the Indian droughts from a historical perspective.
Monsoon droughts over India have been categorized as mild, moderate, severe, and
phenomenal, if the quantum of seasonal monsoon rains has been below 1.0 of the
standard deviation (SD), 1.25-1.49 of the SD, 1.50-1.99 of the SD, and equal or
below 2.0 of the SD, respectively. The monsoon seasons of the years 1877, 1899,
1902, 1905, 1918, 1920, 1965, 1972, 1979, 1987, and 2002 witnessed severe droughts,
of which 1877, 1899, and 1918 were phenomenal droughts and the recent 3 years
1972, 1987, and 2002 were very close to the phenomenal category in which the deficit
of seasonal rainfall was 19%. Almost all the severe droughts except those of 1920
and 1979 are associated with warm EI Nifio phenomenon in the central and eastern
equatorial Pacific Ocean and a low Southern Oscillation Index (SOI). Walker (1924)
discovered the relationship between the out-of-phase performance of monsoon over
India and the Southern Oscillation (SO). Shukla and Paolino (1983) suggested that
monsoon droughts occur over India in the years when the change over the SOI
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difference between January and April is negative. Sikka (1980) and Rasmusson and
Carpenter (1983), for the first time, noted the relationship of the monsoon droughts
with El Niflo warming. This was further confirmed by Mooley and Paolino (1989)
who in turn suggested that monsoon droughts over India occur when the warming
phase of El Nino coincides with the ongoing monsoon season. El Nifio—-monsoon
connections have become an important aspect of monsoon interannual variability
and, as expressed by Webster and Yang (1992), the two phenomena interact in a
complex way. Opinions have been expressed by some researchers that the spring-
predictability barrier in the El Nifio prediction has its origin in the evolving Indian
monsoon. Nigam (1994) sought the dynamical basis for the El Niflo—-monsoon
connection. Kirtman and Shukla (2000), using an approach of numerical experimen-
tation with general circulation model runs of 50 years, have attempted to link the
evolution of the El Nifio to the evolution of the south Asian monsoon as El Nifio
amplifies in October—December, following the monsoon failure. El Niflo is aborted
in some years when the monsoon rains perform on the excess side of normal (Sikka
and Paul, 1994). Even though there is no unique one-to-one relationship between the
monsoon droughts and the El Nifio warming phase (only 60% of the monsoon
droughts over India are associated with El Nifio warming), a year has never been
an excess monsoon year, if an El Nifio warming is taking place in the equatorial
central Pacific. Also among the 16 parameters, until recently used for the long-range
forecasting of seasonal monsoon rains over India (Gowariker et al., 1991), there is
no single parameter which is linked with monsoon failure for the 60% of the cases El
Nino warming is. Thus, El Nifio warming can be considered as an important
precursor for the ensuing monsoon drought or at least for a very high probability
of the non-incidence of an excess monsoon season. El Nifio is known to have
interdecadal variability. Wang (1995), Kriplani and Kulkarni (1997), Krishna
Kumar et al. (1999), and Krishnamurthy and Goswami (2000) have expressed
views that the El Nifio-monsoon connection has been weakening since the 1980s.
However, this could be only a temporary fluctuation on a secular basis as the most
recent monsoon drought of 2002 occurred in the warming phase of an El Niflo event
(Sikka, 2003). Within a particular phase of the interdecadal oscillation there are
several strong and weak phases of interannual variation of the monsoon. The
Walker circulation over the Indo-Pacific equatorial belt, as modulated by shifts in
the equatorial SSTs over the belt, interacts in a complex manner with the regional
Hadley and east—west circulations over the Indian region to influence the perform-
ance of the south Asian monsoon.

South Asian monsoon rainfall is quite stable over the long term. It has the
smallest interannual variability of all the major regional monsoon systems. It has
no strong quasiperiodicity, except perhaps the quasibiennial oscillation (QBO).
Meehl (1994, 1997) suggested a coupled land—air—sea mechanism for explaining
possible QBOs in monsoon rainfall over south Asia involving the tropospheric
biennial oscillation (TBO). Meehl (1994, 1997) and Wu and Kirtman (2003) have
studied these links by performing sensitivity experiments using coupled GCMs in
which ENSO, tropical mid-latitude interactions, and impacts of land—sea contrasts
on the monsoon QBO have been examined. The incidence of droughts and floods
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over India have been noted to have strong epochal behavior (Joseph, 1976; Sikka,
1980; and others), but no QBO. The epochs of 1899-1920 and 1965-1987 had 8 and 9
droughts, respectively. Whereas the epochs 1871-1898 and 1921-1964 had only 2
and 3 droughts, respectively. Thus, the ‘all-India’ monsoon rainfall series has
performed for an extended period near to its long-term normal (1871-1898 and
1921-1964) and departed somewhat from this normal for other extended periods
(1899-1920 and 1965-1987). The long-term ‘all-India’ monsoon rainfall series shows
no significant trend. However, Rupakumar et a/. (1992) have shown long-term
decreasing trends in the rainfall series of north-east India and central north-east
India homogeneous regions and an increasing trend for north-west India. Another
aspect worth mentioning is that there have been only three occasions when the
droughts occurred on an ‘all-India’ basis for