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PREFACE 2ND EDITION

Almost six years have passed since the launching of the first edition of this textbook. The friendly
acceptance and brisk demand of the “Marine Geochemistry” have encouraged us to prepare the
second edition. Six years mean a comparatively long period for a relatively young discipline such as
marine geochemistry. Data and measurements from numerous expeditions, results of different new
methods and techniques, as well as findings of various research programs justify a careful revision of
the first edition.

The authors of the first edition have revised and substantially updated and enlarged their chapters.
We had to give up the partial chapter on sedimentary magnetism of the first edition. In chapter 6 the
authors now concentrate on benthic cycles, and the new co-author Heide N. Schulz especially reports
on phosphorus cycles and the microbial parts. Chapter 8 was extended to the complete marine sulfur
cycling in connection with anaerobic methane oxidation. Gerhard Bohrmann and Marta E. Torres
contribute their completely new chapter 14 on methane hydrates in marine sediments, representing a
well-rounded presentation of this exciting discipline, which will be of major interest in the future.

We also had to consider that other new textbooks (Boudreau and Jørgensen 2001, Fasham 2003,
Zhu and Anderson 2002) are now available, whereas revised editions of books  (Chester 2000, 2003,
Hoefs 2004) were published.

Horst D. Schulz and Matthias Zabel Bremen, November 2005
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PREFACE 1ST EDITION

Today, most branches of science have been extensively described. As to their objectives and
interrelationships they are also well distinguished from the adjoining science disciplines. In this regard,
marine geochemistry makes an exception, as does geochemistry in general, for - depending on the
scientist’s educational and professional career - this particular field of research can be understood more
or less in terms of geology, chemistry, biology, even mineralogy or oceanography. Despite some occasional
objection, we conceive our interdisciplinary approach to marine geochemistry rather as an opportunity  -
even if our own origins most certainly lie in the geosciences. R. Chester (1990) emphasized the chemistry
of the water column and the relations to continental inputs in his book on “Marine Geochemistry”. For us,
however, the investigation of the marine surface sediments and the (bio)geochemical processes taking
place therein will be of major concern. We therefore see our book as a continuation of  what
R.A. Berner (1980) initiated with his classical work “Early Diagenesis”, with which he had a determining
influence in pointing the way ahead. The concept and the contents we present here is addressed to
graduated students of earth science who specialize in marine geochemistry.

Before the background of a continually expanding field of research, it appears impossible for a
textbook on marine geochemistry to cope with the task of achieving completeness. Some parts of
marine geochemistry have been described in more detail elsewhere and with an emphasis placed on a
different context. These parts were permitted to be treated in brief. The classical subjects of “Marine
Geology” are therefore to be found in J.P. Kennet (1982), or with a different perspective in
R.N. Andersen (1986). No book on “Aquatic Chemistry” can hardly be better than the one written by
W. Stumm and J.J. Morgan (1996). There is furthermore the textbook written by K. Grasshoff,
K. Kremling, and M. Ehrhardt (1999) which is concerned with the analytical measurements in seawater.
“Tracers in the Sea” by W.S. Broecker and T.-H. Peng (1982) still remains an essential work of standard,
albeit a new edition is dearly awaited for. The important field of “Isotope Geochemistry” is exquisitely
represented by the books written by G. Faure (1986), Clark and Fritz (1997) and J. Hoefs (1997),
as much as “Organic Geochemistry” is represented by the book published by M.H. Engel and
S.A. Macko (1993). “Diagenetic Models and Their Implementation” are described from the perspective
of a mathematician by B.P. Boudreau (1997), owing to which we were able to confine ourselves to the
geochemist’s point of view.

Marine geochemistry is generally integrated into the broad conceptual framework of oceanography
which encompasses the study of the oceanic currents, their interactions with the atmosphere, weather
and climate; it leads from the substances dissolved in water, to the marine flora and fauna, the processes
of plate tectonics, the sediments at the bottom of the oceans, and thus to marine geology. Our notion of
marine geochemistry is that it is a part of marine geology, wherefore we began our book with a chapter
on the solid phase of marine sediments concerning its composition, development and distribution. The
first chapter written by Dieter K. Fütterer is therefore a brief summarizing introduction into marine
geology which describes all biochemically relevant aspects related to the subject. Monika Breitzke and
Ulrich Bleil are concerned in the following chapter with the physical properties of sediments and
sedimentary magnetism in a marine-geophysical context, which we deem an important contribution to
our understanding of geochemical processes in the sediment.

In the third chapter, Horst D. Schulz demonstrates that the method to quantify biogeochemical
processes and material fluxes in recent sediments affords the analysis of the pore-water fraction.
Jürgen Rullkötter subsequently gives an overview of organic material contained in sediments which
ultimately provides the energy for powering almost all (bio)geochemical reactions in that compartment.
The fifth chapter by Bo. B. Jørgensen surveys the world of microorganisms and their actions in
marine sediments. The chapters six, seven, and eight are placed in the order of the oxidative agents
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that are involved in the oxidation of sedimentary organic matter: oxygen and nitrate (Christian Hensen
and Matthias Zabel), iron (Ralf R. Haese) and sulfate (Sabine Kasten and Bo. B. Jørgensen). They
close the circle of primary reactions that occur in the early diagenesis of oceanic sediments.

In the ninth chapter, marine carbonates are dealt with as a part of the global carbon cycle which
essentially contributes to diagenetic processes (Ralf R. Schneider, Horst D. Schulz and Christian Hensen).
Ratios of stable isotopes are repeatedly used as proxy-parametes for reconstructing the paleoclimate
and paleoceanography. Hence, in the succeeding chapter, Torsten Bickert discusses the stable isotopes
in the marine sediment as well as the processes which bear influence on them. Geoffrey P. Glasby has
dedicated a considerable part of his scientific work to marine manganese. He visited Bremen several
times as a guest scientist and therefore it goes without saying that we seized the opportunity to appoint
him to be the author of the chapter dealing with nodules and crusts of manganese. Looking at the
benthic fluxes of dissolved and solid/particulate substance across the sediment/water interface, the
processes of early diagenesis contribute primarily to the material budgets in the world’s oceans and thus
to the global material cycles. In chapter 12, Matthias Zabel, Christian Hensen and Michael Schlüter have
ventured to make initial methodological observations on global interactions and balances, a subject which
is presently in a state of flux. A summarizing view on hot vents and cold seeps is represented by a chapter
which is complete in itself . We are indebted to Peter M. Herzig and Mark D. Hannington for having
taken responsibility in writing this chapter, without which a textbook on marine geochemistry would
always have remained incomplete. In the final chapter, conceptual models and their realization into
computer models are discussed. Here, Horst D. Schulz is more concerned with the biogeochemical
processes, their proper comprehension, and with aspects of practical application rather than the
demonstration of ultimate mathematical elegance.

This book could only be written because many contributors have given their support. First of all, we
have to mention the Deutsche Forschungsgemeinschaft in this regard, which has generously funded
our research work in the Southern Atlantic for over ten years. This special research project
[Sonderforschungsbereich, SFB 261] entitled “The South Atlantic in the Late Quaternary:
Reconstruction of Material Budget and Current Systems”, covered the joint activities of the
Department of Geosciences at the University Bremen, the Alfred-Wegener-Institute for Polar and
Marine Research in Bremerhaven, and the Max-Planck-Institute for Marine Microbiology in Bremen.

The marine-geochemical studies are closely related to the scientific publications submitted by our
colleagues from the various fields of biology, marine chemistry, geology, geophysics, mineralogy and
paleontology. We would like to thank all our colleagues for the long talks and discussions we had
together and for the patient understanding they have showed us as geochemists who were not at all
times familiar with the numerous particulars of the neighboring sciences.

We were fortunate to launch numerous expeditions within the course of our studies in which several
research vessels were employed, especially the RV METEOR.  We owe gratitude to the captains and
crews of these ships for their commitment and services even at times when duty at sea was rough. All
chapters of this book were subject to an international process of review. Although all colleagues
involved have been mentioned elsewhere, we would like to express our gratitude to them once more at
this point. Owing to their great commitment they have made influential contributions as to contents and
character of this book.

Last but not least, we wish to thank our wives Helga and Christine. Although they never had the
opportunity to be on board with us on any of the numerous and long expeditions, they still have always
understood our enthusiasm for marine geochemistry and have always given us their full support.

Horst D. Schulz and Matthias Zabel Bremen, May 1999
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1 The Solid Phase of Marine Sediments
DIETER K. FÜTTERER

1.1 Introduction

The oceans of the world represent a natural de-
pository for the dissolved and particulate prod-
ucts of continental weathering. After its input, the
dissolved material consolidates by means of bio-
logical and geochemical processes and is depos-
ited on the ocean floor along with the particulate
matter from weathered rock. The ocean floor de-
posits therefore embody the history of the conti-
nents, the oceans and their pertaining water
masses. They therefore provide the key for under-
standing Earth’s history, especially valuable for
the reconstruction of past environmental condi-
tions of continents and oceans. In particular, the
qualitative and quantitative composition of the
sedimentary components reflect the conditions of
their own formation. This situation may be more or
less clear depending on preservation of primary
sediment composition, but the processes of early
diagenesis do alter the original sediment composi-
tion, and hence they alter or even wipe out the
primary environmental signal. Hence, only an
entire understanding of nature and sequence of
processes in the course of sediment formation and
its diagenetic alteration will enable us to infer the
initial environmental signal from the altered
composition of the sediments.

Looking at the sea-floor sediments from a
geochemical point of view, the function of par-
ticles, or rather the sediment body as a whole, i.e.
the solid phase, can be quite differently
conceived and will vary with the perspective of
the investigator. The “classical” approach –
simply applying studies conducted on the
continents to the oceans – usually commences
with a geological-sedimentological investigation,
whereafter the mineral composition is recorded in
detail. Both methods lead to a more or less overall
geochemical description of the entire system.

Another, more modern approach conceives the
ocean sediments as part of a global system in
which the sediments themselves represent a
variable component between original rock source
and deposition. In such a rather process-related
and globalized concept of the ocean as a system,
sediments attain special importance. First, they
constitute the environment, a solid framework for
the geochemical reactions during early diagenesis
that occur in the pore space between the particles
in the water-sediment boundary layer. Next to the
aqueous phase, however, they are simultaneously
starting material and reaction product, and
procure, together with the porous interspaces, a
more or less passive environment in which
reactions take place during sediment formation.

1.2 Sources and Components of
Marine Sediments

Ocean sediments are heterogeneous with regard
to their composition and also display a consider-
able degree of geographical variation. Due to the
origin and formation of the components various
sediment types can be distinguished: Lithoge-
nous sediments which are transported and dis-
persed into the ocean as detrital particles, either
as terrigenous particles – which is most fre-
quently the case – or as volcanogenic particles
having only local importance; biogenous sedi-
ments which are directly produced by organisms
or are formed by accumulation of skeletal frag-
ments; hydrogenous or authigenic sediments
which precipitate directly out of solution as new
formations, or are formed de novo when the par-
ticles come into contact with the solution; finally,
cosmogenic sediments which are only of second-
ary importance and will therefore not be consid-
ered in the following.
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1.2.1 Lithogenous Sediments

The main sources of lithogenous sediments are ul-
timately continental rocks which have been bro-
ken up, crushed and dissolved by means of physi-
cal and chemical weathering, exposure to frost and
heat, the effects of water and ice, and biological
activity. The nature of the parent rock and the
prevalent climatic conditions determine the inten-
sity at which weathering takes place. Information
about these processes can be stored within the
remnant particulate weathered material, the terri-
genous detritus, which is transported by various
routes to the oceans, such as rivers, glaciers and
icebergs, or wind. Volcanic activity also contrib-
utes to lithogenous sediment formation, however,
to a lesser extent; volcanism is especially effective
on the active boundaries of the lithospheric
plates, the mid-ocean spreading ridges and the
subduction zones.

The major proportion of weathered material is
transported from the continents into the oceans
by rivers as dissolved or suspension load, i.e. in
the form of solid particulate material. Depending
on the intensity of turbulent flow suspension load
generally consists of particles smaller than 30 mi-
crons, finer grained than coarse silt. As the min-
eral composition depends on the type of parent

rock and the weathering conditions of the catch-
ment area, it will accordingly vary with each river
system under study. Furthermore, the mineral
composition is strongly determined by the grain-
size distribution of the suspension load. This can
be seen, for example, very clearly in the suspen-
sion load transported by the Amazon River (Fig.
1.1) which silt fraction (> 4 - 63 µm) predominantly
consists of quartz and feldspars, whereas mica,
kaolinite, and smectite predominate in the clay
fraction.

It is not easy to quantify the amount of sus-
pension load and traction load annually dis-
charged by rivers into the oceans on a worldwide
scale. In a conservative estimative approach
which included 20 of the probably largest rivers,
Milliman and Meade (1983) extrapolated this
amount to comprise approximately 13·109 tons.
Recent estimations (Milliman and Syvitski 1992)
which included smaller rivers flowing directly into
the ocean hold that an annual discharge of ap-
proximately 20·109 tons might even exist.

Under the certainly not very realistic assump-
tion of an even distribution over a surface area of
362·106 km2 which covers the global ocean floor,
this amount is equivalent to an accumulation rate
of 55.2 tons km-2 y-1, or the deposition of an approxi-
mately 35 mm-thick sediment layer every 1000 years.

Fig. 1.1 Grain-size distribution of mineral phases transported by the Amazon River (after Gibbs 1977).
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1.2 Sources and Components of Marine Sediments

Most of the sediment transported to the coast-
line by the rivers today is deposited on protected
coastal zones, in large estuaries, and on the
shelves; only a rather small proportion of the sedi-
ment is transported beyond the shelf edge and
reaches the bottom of the deep sea. The geo-
graphical distribution of the particulate discharge
varies greatly worldwide, depending on the geo-
graphical distribution of the respective rivers,
amount and concentration of the suspended mate-
rial. According to Milliman and Syvitski (1992), the
amount of suspension load is essentially a func-
tion of the surface area and the relief of the
catchment region, and only secondarily does it
depend on the climate and the water mass of the
rivers. Apart from these influences, others like hu-
man activity, climate, and geological conditions
are the essential factors for river systems in
southeast Asia.

The southeast Asian rivers of China, Bangla
Desh, India, and Pakistan that drain the high
mountain region of the Himalayan, and the rivers
of the western Pacific islands (Fig. 1.2), transport
just about one half of the global suspension load
discharged to the ocean annually. This must natu-
rally also exert an effect on the sedimentation

rates in the adjoining oceanic region of the Indo-
Pacific.

Sediment transport by icebergs which calve
from glaciers and inland ice into the ocean at polar
and subpolar latitudes is an important process for
the discharge and dispersal of weathered coarse
grained terrigenous material over vast distances.
Due to the prevailing frost weathering in nival
climate regions, the sedimentary material which is
entrained by and transported by the ice is hardly
altered chemically. Owing to the passive transport
via glaciers the particles are hardly rounded and
hardly sorted in fractions, instead, they comprise
the whole spectrum of possible grain sizes, from
meter thick boulders down to the clay-size
fraction.

As they drift with the oceanic currents, melting
icebergs are able to disperse weathered terrig-
enous material over the oceans. In the southern
hemisphere, icebergs drift from Antarctica north to
40°S. In the Arctic, the iceberg-mediated transport
is limited to the Atlantic Ocean; here, icebergs
drift southwards to 45°N, which is about the
latitude of Newfoundland. Coarse components
released in the process of disintegration and melt-
ing leave behind “ice rafted detritus” (IRD), or

Fig. 1.2 Magnitude of annual particulate sediment discharge of the world’s major rivers. The huge amount of sediment
discharge in southeast Asia and the western Pacific islands is due to high relief, catchment, precipitation and human
activity (Hillier 1995).
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“drop stones”, which represent characteristic sig-
nals in the sediments and are of extremely high
importance in paleoclimate reconstructions.

In certain regions, the transport and the distri-
bution carried out by sea ice are important pro-
cesses. This is especially true for the Arctic Ocean
where specific processes in the shallow coastal
areas of the Eurasian shelf induce the ice, in the
course of its formation, to incorporate sediment
material from the ocean floor and the water
column. The Transpolar Drift distributes the sedi-
ment material across the Arctic Ocean all the way
to the North Atlantic. Glacio-marine sedimentation
covers one-fifth of present day’s ocean floor
(Lisitzin 1996).

Terrigenous material can be carried from the
continents to the oceans in the form of mineral
dust over great distances measuring hundreds to
up to thousands of kilometers. This is accom-
plished by eolian transport. Wind, in contrast to
ice and water, only carries particles of finer grain
size, such as the silt and clay fraction. A grain size
of approximately 80 µm is assumed to mark the
highest degree of coarseness transportable by
wind. Along wind trajectories, coarser grains such
as fine sand and particles which as to their sizes
are characteristic of continental loess soil (20-50
µm) usually fall out in the coastal areas, whereas

the finer grains come to settle much farther away.
The relevant sources for eolian dust transport
are the semi-arid and arid regions, like the Sahel
zone and the Sahara desert, the Central Asian
deserts and the Chinese loess regions (Pye
1987). According to recent estimations (Prospero
1996), a total rate of approximately 1-2·109 tons y-

1 dust is introduced into the atmosphere, of
which about 0.91·109 tons y-1 is deposited into
the oceans. This amount is, relative to the entire
terrigenous amount of weathered material, not
very significant; yet, it contributes considerably
to sediment formation because the eolian trans-
port of dust concentrates on few specific regions
(Fig. 1.3). Dust from the Sahara contributes to
sedimentation on the Antilles island Barbados at
a rate of 0.6 mm y-1, confirming that it is not at all
justified to consider its contribution in building
up deep-sea sediments in the tropical and sub-
tropical zones of the North Atlantic as negligible.
Similar conditions are to be found in the north-
western Pacific and the Indian Ocean where great
amounts of dust are introduced into the ocean
from the Central Asian deserts and the Arabic
desert.

According to rough estimates made by Lisitzin
(1996), about 84 % of terrigenous sediment input
into the ocean is effected by fluvial transport,

DESERTS SEMI-ARID
REGIONS

DUST TRANSPORT
DIRECTIONS AND
DISTANCES

Fig. 1.3 The world’s major desert areas and semi-arid regions and potential long-distance eolian dust trajectories and
oceanic depocenters (Hillier 1995).
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somewhat more than 7 % by eolian transport, and
less than 7 % is due to the activity of icebergs.

A distinctly less, but still not insignificant pro-
portion of lithogenous sediment is formed by
volcanic activity which is quite often coupled with
processes of active subduction at the continental
plate boundaries. A large proportion of pyroclastic
fragments becomes wind-dispersed over large
areas, whereafter they are usually retraced in
oceanic sediments as finely distributed volcanic
glass. Yet, the formation of single, distinct, cm-
thick tephra layers might also occur in the deep
sea where they represent genuine isochronous
markers which can be used for correlation
purposes and the time calibration of stratigraphic
units. Layers of ash deposits in the eastern Medi-
terranean are prominent examples indicative of the
eruption of the volcanic island Ischia in prehis-
toric times of more than 25,000 years ago, and
Santorin about 3500 years ago.

Locally, there may be a frequent occurrence of
tephra layers and significant concentrations of
finely dispersed volcaniclastic material in deep-
sea sediments especially in the proximal zones of
volcanic activity, like in marginal zones of the
modern Pacific Ocean. In a recent evaluation of te-
phra input into the Pacific Ocean sediments based
on DSDP and ODP data Straub and Schmincke
(1998) estimate that the minimum proportion of
volcanic tephra corresponds to 23 vol.% of the ex-
isting Pacific oceanic sediments.

Lithogenous detrital components of marine
sediments, despite all regional variability, include
only few basic minerals (Table 1.1). With the ex-
ception of quartz, complete weathering, particu-
larly the chemical weathering of metamorphic and
igneous rock, leads to the formation of clay
minerals. Consequently, this group represents,
apart from the remaining quartz, the most impor-
tant mineral constituent in sediments; clay miner-
als make up nearly 50 % of the entire terrigenous
sediment. To a lesser degree, terrigenous detritus
contains unweathered minerals, like feldspars.
Furthermore, there are mica, non-biogenous cal-
cite, dolomite in low quantities, as well as acces-
sory heavy minerals, for instance, amphibole, py-
roxene, apatite, disthene, garnet, rutile, anatase,
zirconium, tourmaline, but they altogether seldom
comprise more than 1 % of the sediment. Basically,
each mineral found in continental rock - apart from
their usually extreme low concentrations - may
also be found in the oceanic sediments. The
percentage in which the various minerals are

present in a sediment markedly depends on the
grain-size distribution.

The clay minerals are of special importance in-
asmuch as they not only constitute the largest
proportion of fine-grained and non-biogenous
sediment, but they also have the special geo-
chemical property of absorbing and easily giving
off ions, a property which affords more detailed
observation. Clay minerals result foremost from
the weathering of primary, rock forming aluminous
silicates, like feldspar, hornblende and pyroxene,
or even volcanic glass. Kaolinite, chlorite, illite,
and smectite which represent the four most
important groups of clay minerals are formed
partly under very different conditions of weather-
ing. Consequently, the analysis of their qualitative
and quantitative distribution will enable us to
draw essential conclusions on origin and trans-
port, weathering and hydrolysis, and therefore on
climate conditions of the rock’s source region
(Biscay 1965; Chamley 1989). The extremely fine-
granular structure of clay minerals, which is likely
to produce an active surface of 30 m2g-1 sediment,
as well as their ability to absorb ions internally
within the crystal structure, or bind them
superficially by means of reversible adsorption, as
well as their capacity to temporarily bind larger
amounts of water, all these properties are
fundamental for us to consider clay sediments as
a very active and effectively working “geochemi-
cal factory”.

Clay minerals constitute a large part of the fam-
ily of phyllosilicates. Their crystal structure is
characterized by alternation of flat, parallel sheets,
or layers of extreme thinness. For this reason clay
minerals are called layer silicates. Two basic types
of layers, or sheets make up any given clay
mineral. One type of layer consists of tetrahedral
sheets in which one silicon atom is surrounded by
four oxygen atoms in tetrahedral configuration.
The second type of layer is composed of
octahedron sheets in which aluminum or magne-
sium is surrounded by hydroxyl groups and oxy-
gen in a 6-fold coordinated arrangement (Fig. 1.4).
Depending on the clay mineral under study, there
is still enough space for other cations possessing
a larger ionic radius, like potassium, sodium,
calcium, or iron to fit in the gaps between the
octahedrons and tetrahedrons. Some clay minerals
- the so-called expanding or swelling clays - have
a special property which allows them to incorpo-
rate hydrated cations into their structure. This
process is reversible; the water changes the

1.2 Sources and Components of Marine Sediments
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volume of the clay particles significantly as it
goes into or out of the clay structure. All in all,
hydration can vary the volume of a clay particle
by 95 %.

Kaolinite is the most important clay mineral of
the two-layer group, also referred to as the 7-Ång-
strom clay minerals (Fig. 1.4), which consist of
interlinked tetrahedron-octahedron units. Illite
and the smectites which have the capacity to bind
water by swelling belong to the group of three-
layered minerals, also referred to as 10-Ångstrom
clay minerals. They are made of a combination of
two tetrahedrally and one octahedrally coordi-

nated sheets. Four-layer clay minerals, also known
as 14-Ångstrom clay minerals, arise whenever a fur-
ther autonomous octahedral layer emerges between
the three-layered assemblies. This group comprises
the chlorites and an array of various composites.

Apart from these types of clay minerals, there
is a relatively large number of clay minerals that
possess a mixed-layered structure made up of a
composite of different basic structures. The result
is a sheet by sheet chemical mixture on the scale
of the crystallite. The most frequent mixed-layer
structure consists of a substitution of illite and
smectite layers.

relative
importance idealized composition

Quarz +++ SiO2

Calcite + CaCO3

Dolomite + (Ca,Mg)CO3

Feldspars
   Plagioclase ++ (Na,Ca)[Al(Si,Al)Si2O8]
   Orthoclase ++ K[AlSi3O8]
Muscovite ++ KAl2[(AlSi3)O10](OH)2

C l a y  m i n e r a l s
Kaolinite +++ Al2Si2O5(OH)4
Mica Group
   e.g. Illite +++ K0.8-0.9(Al,Fe,Mg)2(Si,Al)4O10(OH)2
Chlorite Groupe
   e.g. Chlorite s.s. +++ (Mg3-yAl1Fey )Mg3(Si4-xAl)O10(OH)8
Smektite Groupe
   e.g. Montmorillonite +++ Na0.33(Al1.67Mg0.33)Si4O10(OH)2•nH2O

H e a v y  m i n e r a l s ,  e. g.
Amphiboles
   e.g. Hornblende + Ca2(Mg,Fe)4Al[Si7,Al22](OH)2
Pyroxene
   e.g. Augite + (Ca,Na)(Mg,Fe,Al)[(Si,Al)2O6]
Magnetite - Fe3O4

Ilmenite - FeTiO3

Rutile - TiO2

Zircon - ZrO2

Tourmaline - (Na,Ca)(Mg,Fe,Al,Li)3Al6(BO3)3Si6O18(OH)4
Garnet
   e.g. Grossular - Ca3Al2(SiO4)3

Table 1.1 Mineralogy and relative importance of main lithogeneous sediment components.
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Kaolinite is a regularly structured di-octahedral
two-layer mineral and preferentially develops
under warm and humid conditions, by chemical
weathering of feldspars in tropical soil. Good
drainage is essential to assure the removal of cat-
ions released during hydrolysis. Abundance and
distribution of kaolinite reflects soil-forming pro-
cesses in the area of its origin which is optimal in
lateritic weathering in the tropics. Owing to the
fact that the occurrence of this mineral in ocean
sediments is distinctly latitude-dependent, it is of-
ten referred to as the “mineral of low latitudes”.

Illite is a three-layered mineral of the mica
group and not really a specified mineral, instead
the term illite refers to a group of mica-like miner-
als in the clay fraction; as such, it belongs to the
most frequently encountered type of clay miner-
als. Illites are formed as detrital clay minerals by
fragmentation in physical weathering. Chemical
weathering (soil formation) in which potassium is
released from muscovite also leads to the
formation of illites. For this reason, illite is often
referred to as incomplete mica or hydromica. The
distribution of illites clearly reflects its terrestrial
and detrital origin which is also corroborated by
K/Ar-age determinations made on illites obtained
from recent sediments. There are as yet no indica-
tions as to in-situ formations of illites in marine
environments.

Similar to the illites are the cation-rich, ex-
pandable, three-layered minerals of the smectite
group. The smectites, a product of weathering and
pedogenic formation in temperate and sub-arid
zones, hold an intermediate position with regard
to their global distribution. However, smectites are
often considered as indicative of volcanic envi-
ronments, in fact smectite formation due to low-
temperature chemical alteration of volcanic rocks
is even a quite typical finding. Similarly, finely
dispersed particles of volcanic glass may trans-
form into smectite after a sufficiently long
exposure to seawater. Smectites may also arise
from muscovite after the release of potassium and
its substitution by other cations. There is conse-
quently no distinct pattern of smectite distribution
discernible in the oceans.

The generally higher occurrence of smectite
concentrations in the southern hemisphere can be
explained with the relatively higher input of volca-
nic detritus. This is especially the case in the
Southern Pacific.

Chlorite predominately displays a trioctahedral
structure and is composed of a series of three
layers resembling mica with an interlayered sheet
of brucite (hydroxide interlayer). Chlorite is mainly
released from altered magmatic rocks and from
metamorphic rocks of the green schist facies as a
result of physical weathering. It therefore charac-

1.2 Sources and Components of Marine Sediments

7 A Kaolinite

10 A Smectite
Illite

14 A Chlorite

Exchangeable cations
 nH2O

Oxygens Hydroxyls Aluminium, iron, magnesium

and Silicon, occasionaly aluminium

tetrahedra

octahedra

hydroxyoctahedra

tetrahedra

tetrahedra

tetrahedra

tetrahedra

octahedra

octahedra

Fig. 1.4 Schematic diagram of clay mineral types: Left: According to the combination of tetrahedral- and octahedral-
coordinated sheets; Right: Diagrammatic sketch of the structure of smectite (after Hillier 1995 and Grim 1968).
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teristically depends on the type of parent rock.
On account of its iron content, chlorite is prone
to chemical weathering. Chlorite distinctly dis-
plays a distribution pattern of latitudinal zona-
tion and due to its abundance in polar regions it
is considered as the “mineral of high latitudes”
(Griffin et al. 1968). The grain size of chlorite min-
erals is – similar to illite – not limited to the clay
fraction (< 4 µm), but in addition encompasses
the entire silt fraction (4 - 63 µm) as well.

1.2.2 Biogenous Sediments

Biogenous sediments generally refer to bioclastic
sediments, hence sediments which are built of
remnants and fragments of shells and tests pro-
duced by organisms – calcareous, siliceous or

phosphatic particles. In a broader sense, bio-
genous sediments comprise all solid material
formed in the biosphere, i.e. all the hard parts in-
clusive of the organic substance, the causto-
bioliths. The organic substance will be treated
more comprehensively in Chapter 4, therefore they
will not be discussed here.

The amount of carbonate which is deposited in
the oceans today is almost exclusively of bio-
genous origin. The long controversy whether
chemical precipitation of lime occurs directly in
the shallow waters of the tropical seas, such as
the banks of the Bahamas and in the Persian Gulf
(Fig. 1.5), during the formation of calcareous
ooids and oozes of acicular aragonite, has been
settled in preference of the concept of biomin-
eralization (Fabricius 1977). The tiny aragonite

Fig. 1.5 SEM photographs of calcareous sediments composed of aragonite needles which are probably of biogenic origin.
Upper left: slightly etched section of a calcareous ooid from the Bahamas showing subconcentric laminae of primary ooid
coatings; upper right: close-up showing ooid laminae formed by small acicular aragonite needles. Lower left: silt-sized
particle of aragonite mud from the Persian Gulf; lower right: close-up showing details of acicular aragonite needles measuring up
to 10 µm in length, scalebar 5 µm.
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needles (few micrometers) within the more or less
concentric layers of calcareous ooids have been
considered for a long time as primary precipitates
from seawater. However, further investigations in-
cluding the distribution of stable isotopes dis-
tinctly evidenced their biological origin as prod-
ucts of calcification by unicellular algae. Yet, one
part of the acicular aragonite ooze might still origi-
nate from the mechanical disruption of shells and
skeletal elements.

Although marine plants and animals are numer-
ous and diverse, only relatively few groups pro-
duce hard parts capable of contributing to the
formation of sediments, and only very few groups
occur in an abundance relevant for sediment for-
mation (Table 1.2). Relevant for sediment forma-
tion are only carbonate minerals in the form of ara-
gonite, Mg-calcite and calcite, as well as biogenic

opal in the form of amorphous SiO2·nH2O. The
sulfates of strontium and barium as well as
various compounds of iron, manganese, and alu-
minum are of secondary importance, yet they are
of geochemical interest, e.g. as tracers for the re-
construction of past environmental conditions.
For example, the phosphatic particles formed by
various organisms, such as teeth, bone, and shells
of crustaceans, are major components of phos-
phorite rocks which permit us to draw conclusions
about nutrient cycles in the ocean.

Large amounts of carbonate sediment accumu-
late on the relatively small surface of the shallow
shelf seas – as compared to entire oceans surface
– of the tropical and subtropical warm water re-
gions, primarily by few lime-secreting benthic
macrofossil groups. Scleritic corals, living in sym-
biosis with algae, and encrusting red algae consti-

1.2 Sources and Components of Marine Sediments

Aragonite Aragonite Mg-Calcite Calcite Calcite + Opal divers
+ Calcite Mg-Calcite

Plankton
  Pteropods x
  Radiolarians x celestite
  Foraminifera (x) x x x
  Coccolithophores x
  Dinoflagellates x organic
  Silicoflagellates x
  Diatoms x

Benthos
  Chlorophyta x
  Rhodophyta x x (x)
  Phaeophyta x
  Sponges x x x celestite
  Scleratinian corals x
  Octocorals x x
  Bryozoens x x
  Brachiopods x phosphate
  Gastropods x x
  Pelecypods x x x
  Decapods x phosphate
  Ostracods (x) x
  Barnacles (x) x
  Annelid worms x x x (x) phosphate
  Echinoderms x phosphate
  Ascidians x

Table 1.2 Major groups of marine organisms contributing to biogenic sediment formation and mineralogy of skeletal
hard parts. Foraminifera and diatoms (underlined) are important groups of both plankton and benthos. x = common,
(x) = rare (mainly after Flügel 1978, 2004 and Milliman 1974).
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tute the major proportion of the massive
structures of coral reefs. Together with calcifying
green algae, foraminifera, and mollusks, these or-
ganisms participate in a highly productive ecosys-
tem. Here, coarse-grained calcareous sands and
gravel are essentially composed of various bio-
clasts attributable to the reef structure, of lime-se-
creting algae, mollusks, echinoderms and large
foraminifera.

Fine-grained calcareous mud is produced by
green algae and benthic foraminifera as well as by
the mechanical abrasion of shells of the
macrobenthos. Considerable amounts of sediment
are formed by bioerosion, through the action of
boring, grazing and browsing, and predating or-
ganisms. Not all the details have been elucidated
as to which measure the chemical and biological
decomposition of the organic matter in biogenic
hard materials might lead to the formation of pri-
mary skeletal chrystalites on the micrometer scale,
and consequently contribute to the fine-grained
calcareous mud formation.

It is obvious that the various calcareous-
shelled groups, especially of those organisms who
secrete aragonite and Mg-calcite, contribute sig-
nificantly to the sediment formation in the shallow
seas, whereas greater deposits of biogenic opal
are rather absent in the shallow shelf seas. The
isostatically over-deepened shelf region of
Antarctica, where locally a significant accumula-
tion of siliceous sponge oozes occurs, however,
makes a remarkable exception. The relatively low
opal concentration in recent shelf deposits does
not result from an eventual dilution with terri-
genous material. The reason is rather that recent
tropical shallow waters have low silicate concen-
trations, from which it follows that diatoms and
sponges are only capable of forming slightly
silicified skeletons that quickly remineralize in
markedly silicate-deficient waters.

With an increasing distance from the coastal
areas, out toward the open ocean, the relevance of
planktonic shells and tests in the formation of
sediments increases as well (Fig. 1.6). Planktonic
lime-secreting algae and silica-secreting algae,
coccolithophorids and diatoms that dwell as pri-
mary producers in the photic zone which thick-
ness measures approximately 100 m, as well as the
calcareous foraminifers and siliceous radiolarians,
and silicoflagellates (Table 1.2), are the producers
of the by far most widespread and essential deep-
sea sediments: the calcareous and siliceous
biogenic oozes. Apart from the groups mentioned,

planktonic mollusks, the aragonite-shelled
pteropods, and some calcareous cysts forming
dinoflagellates, also contribute to a considerable
degree to sediment formation.

1.2.3 Hydrogenous Sediments

Hydrogenous sediments may be widely distrib-
uted, but as to their recent quantity they are rela-
tively insignificant. They will be briefly mentioned
in this context merely for reasons of being
complete. According to Elderfield (1976), hydrog-
enous sediments can be subdivided into “precipi-
tates”, primary inorganic components which have
precipitated directly from seawater, like sodium
chloride, and “halmyrolysates”, secondary
components which are the reaction products of
sediment particles with seawater, formed subse-
quent to in-situ weathering, but prior to dia-
genesis. Of these, manganese nodules give an ex-
ample. In the scope of this book, these compo-
nents are not conceived as being part of the “pri-
mary” solid phase sediment, but as “secondary”
authigenic formations which only emerge in the
course of diagenesis, as for instance some clay
minerals like glauconite, zeolite, hydroxides of iron
and manganese etc. In the subsequent Chapters
11 and 13 some aspects of these new formations
will be more thoroughly discussed.

The distinction between detrital and newly
formed, authigenic clay minerals is basically diffi-
cult to make on account of the small grain size and
their amalgamation with quite similar detrital
material. Yet it has been ascertained that the by far
largest clay mineral proportion – probably more
than 90 % – located in recent to subrecent sedi-
ments is of detrital origin (Chamley 1989; Hillier
1995). There are essentially three ways for
smectites to be formed, which demand specific
conditions as they are confined to local areas. Al-
terations produced in volcanic material is one way,
especially by means of hydration of basaltic and
volcanic glasses. This process is referred to as
palagonitization. The probably best studied
smectite formation consists in the vents of hydro-
thermal solutions and their admixture with seawa-
ter at the mid-oceanic mountain ranges. Should
authigenic clay minerals form merely in recent sur-
face sediments in very small amounts, their fre-
quency during diagenesis (burial diagenesis), will
demonstrate a distinct elevation. However, this
aspect will not be considered any further beyond
this point.
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1.3 Classification of Marine
Sediments

As yet, there is no general classification scheme
applicable to marine sediments that combines all
the essential characteristics pertaining to a sedi-
ment. A large number of different schemes has
been proposed in the literature which focus either
on origin, grain-size distribution, chemical and
mineralogical features of the sediment compo-
nents, or the facial development of the sediments
– all depending on the specific problem under

study. The advantages and disadvantages of the
various schemes will not be of any concern here.
In the following, an attempt will be made to give a
comprehensive concise summary, based on the
combination of the various concepts.

Murray and Renard (1891) early introduced a
basically simple concept which in its essentials
differentiated according to the area of sediment
deposition as well as to sediment sources. It dis-
tinguished (i) “shallow-water deposits from low-
water mark to 100 fathoms”, (ii) “terrigenous de-
posits in deep and shallow water close to land”,
i.e. the combined terrigenous deposits from the

Fig. 1.6 SEM photographs of the important sediment-forming planktonic organisms in various stages of decay. Above:
Siliceous centered diatoms. Middle: Siliceous radiolarian. Below: Calcareous coccolithophorid of single placoliths =
coccoliths and lutitic abrasion of coccoliths. Identical scale of 5 µm.

1.3 Classification of Marine Sediments
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deep sea and the shelf seas, and (iii) “pelagic de-
posits in deep water removed from land”. This
scheme is very much appropriate to provide the ba-
sic framework for a simple classification scheme on
the basis of terrigenous sediments, inclusive of the
“shallow-water deposits” in the sense of Murray
and Renard (1891), and the deep-sea sediments.
The latter usually are subdivided into hemipelagic
sediments and pelagic sediments.

1.3.1 Terrigenous Sediments

Terrigenous sediments, i.e. clastics consisting of
material eroded from the land surface, are not only
understood as nearshore shallow-water deposits
on the shelf seas, but also comprise the deltaic
foreset beds of continental margins, slump depos-
its at continental slopes produced by gravity
transport, and the terrigenous-detrital shelf sedi-
ments redistributed into the deep sea by the activ-
ity of debris flows and turbidity currents.

The sand, silt, and clay containing shelf sedi-
ments primarily consist of terrigenous siliciclastic
components transported downstream by rivers;
they also contain various amounts of autochtho-
nous biogenic shell material. Depending on the
availability of terrigenous discharge, biogenic car-
bonate sedimentation might predominate in broad
shelf regions. A great variety of grain sizes is
typical for the sediments on the continental shelf,
with very coarse sand or gravel accumulating in
high-energy environments and very fine-grained
material accumulating in low-energy environ-
ments. Coarse material in the terrigenous sedi-
ments of the deep sea is restricted to debris flow
deposits on and near the continental margins and
the proximal depocenters of episodic turbidites.

The development and the hydrodynamic his-
tory of terrigenous sediments is described in its
essentials by the grain-size distribution and the
derived sediment characteristics. Therefore, a
classification on the basis of textural features ap-
pears suitable to describe the terrigenous sedi-
ments. The subdivision of sedimentary particles
according the Udden-Wentworth scale encom-
passes four major categories: gravel (> 2 mm),
sand (2 - 0.0625 mm), silt (0.0625 - 0.0039 mm) and
clay (< 0.0039 mm), each further divided into a
number of subcategories (Table 1.3). Plotting the
percentages of these grain sizes in a ternary dia-
gram results in a basically quite simple and clear
classification of the terrigenous sediments (Fig.
1.7). Further subdivisions and classifications

within the various fields of the ternary diagram are
made quite differently and manifold, so that a
commonly accepted standard nomenclature has
not yet been established. The reason for this lies,
to some extent, in the fact that variable amounts of
biogenic components may also be present in the
sediment, next to the prevalent terrigenous,
siliclastic components. Accordingly, sediment
classifications are likely to vary and certainly will
become confusing as well; this is especially true
of mixed sediments. However, a certain degree of
standardization has developed owing to the fre-
quent and identical usage of terms descriptive of
sediment cores, as employed in the international
Ocean Drilling Program (ODP) (Mazullo and Gra-
ham 1987).

Although very imprecise, the collective term
“mud” is often used in literature to describe the
texture of fine-grained, mainly non-biogenic
sediments which essentially consist of a mixture
of silt and clay. The reason for this is that the
differentiation of the grain-size fractions, silt and
clay, is not easy to manage and is also very time-
consuming with regard to the applied methods.
However, it is of high importance for the genetic
interpretation of sediments to acquire this
information. For example, any sediment mainly
consisting of silt can be distinguished, such as a
distal turbidite or contourite, from a hemipelagic
sediment mainly consisting of clay. The
classification of clastic sediments as proposed
by Folk (1980) works with this distinction,
providing a more precise definition of mud as a
term (Fig. 1.8).

Clay

Clay

Silty
clay

Sandy
  clay

Sand Silt

Clayey
   silt

Clayey
  sand

Silty
sand

Sandy
  silt

 Sand-
silt-clay

Sand Silt

75

20 20

2075 75

Fig. 1.7 Ternary diagram of sand-silt-clay grain-size dis-
tribution showing principal names for siliciclastic,
terrigeneous sediments (from Shepard 1954).
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It needs to be stated in this context, that, in order
to compare the quantitative reports of published
grain sizes, the international literature does not draw
the line between silt and clay at 0.0039 mm
– as the U.S standard and the Udden-Wentworth
scale does (Table 1.3), or the French AFNOR-
norm, but sets the limit at 0.002 mm, a value very
often found in German literature and complying
with the DIN-standards. To add to further diver-
sity, modern publications from Russia mark the
silt-clay transition at a grain size of 0.01 mm (e.g.
Lisitzin 1996).

1.3.2 Deep-sea Sediments

The sediments in the deep sea consist of only few
basic types which in their manifold combinations
are suited for the description of a varied facial
pattern (Table 1.4). The characteristic pelagic
deep-sea sediment far from coastal areas is deep-
sea red clay, an extremely fine-grained (median
< 1 µm) red-brown clay sediment which covers the
oceanic deep-sea basins below the Calcite
Compensation Depth (CCD). More than 90 % is
composed of clay minerals, other hydrogenous
minerals, like zeolite, iron-manganese precipi-
tates and volcanic debris. Such sediment com-
position demonstrates an authigenic origin. The

1.3 Classification of Marine Sediments

Udden-Wenthworth Terminology
mm phi values (φ )

1024 -10 Boulder
512 -9
256 -8
128 -7 Cobbles
64 -6
32 -5
16 -4 Pebble
8 -3
4 -2

3,36 -1,75
2,83 -1,5 Granule
2,38 -1,25
2,00 -1,0

1,68 -0,75
1,41 -0,5 Very coarse sand
1,19 -0,25
1,00 0,0
0,84 0,25
0,71 0,50 Coarse sand
0,59 0,75
0,50 1,00
0,42 1,25
0,35 1,50 Medium sand
0,3 1,75
0,25 2,00
0,21 2,25

0,177 2,50 Fine sand
0,149 2,75
0,125 3,00
0,105 3,25
0,088 3,50 Very fine sand
0,074 3,75
0,0625 4,00

0,053 4,25
0,044 4,50 Coarse silt
0,037 4,75
0,031 5,00

5,25
5,50 Medium silt
5,75

0,0156 6,00
6,25
6,50 Fine silt
6,75

0,0078 7,00
7,25
7,50 Very fine silt
7,75

0,0039 8,00

0,00200 9,0
0,00098 10,0 Clay
0,00049 11,0

Table 1.3 Grain-size scales and textural classification
following the Udden-Wentworth US Standard. The phi
values (φ) according to Krumbein (1934) and Krumbein
and Graybill (1965); φ = - log2 d/d0 where d0 is the stan-
dard grain diameter (i.e. 1 mm).
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cS mS zS

sC sM sZ

C M Z
SiltClay

Sand

% Sand
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S, sand ; s, sandy
Z, silt ; z, silty
M, mud ; m, muddy
C, clay ; c, clayey

Fig. 1.8 Textural classification of clastic sediments
(modified after Folk 1980).
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small percentage of lithogenic minerals, such as
quartz, feldspar and heavy minerals, confirms the
existence of terrigenous components which in part
should have originated from eolian transport
processes. The biogenic oozes represent the most
frequent type of deep-sea sediments; they mainly
consist of shells and skeletal material from plank-
tonic organisms living in the ocean where they
drizzle from higher photic zones down to the
ocean floor, like continuous rainfall, once they
have died (Fig. 1.6). The fragments of the calcare-
ous-shelled pteropods, foraminifera, and cocco-
lithophorids constitute the calcareous oozes (pter-
opod ooze, foraminiferal ooze, or nannofossil
ooze), whereas the siliceous radiolarians, silico-
flagellates, and diatoms constitute the siliceous
oozes (radiolarian ooze or diatomaceous ooze).

The hemipelagic sediments are basically made
of the same components as the deep-sea red clay

and the biogenic oozes, clay minerals and bio-
genic particles respectively,  but they also contain
an additional and sometimes dominating amount
of terrigenous material, such as quartz, feldspars,
detrital clay minerals, and some reworked bio-
genous components from the shelves (Table 1.4,
Fig. 1.9).

Most deep-sea sediments can be described ac-
cording to their composition or origin as a three-
component system consisting of

(i) biogenic carbonate,
(ii) biogenic opal, and
(iii) non-biogenic mineral constituents.

The latter group comprises the components of the
deep-sea red clay and the terrigenous silici-
clastics. On the basis of experiences made in the
Deep Sea Drilling Project, Dean et al. (1985) have

Table 1.4 Classification of deep-sea sediments according to Berger (1974).

I. (Eu-)pelagic deposits (oozes and clays)
< 25 % of fraction > 5µm is of terrigenic, volcanogenic, and/or neritic origin
Median grain size < 5µm (except in authigenic minerals and pelagic organisms)
A. Pelagic clays. CaCO3 and siliceous fossils < 30 %
    1. CaCO3 1 - 10 %. (Slightly) calcareous clay
    2. CaCO3 10 - 30 %. Very calcareous (or marl) clay
    3. Siliceous fossils 1 - 10 %. (Slightly) siliceous clay
    4. Siliceous fossils 10 - 30 %. Very siliceous clay
B. Oozes. CaCO3 or siliceous fossils > 30 %
    1. CaCO3 > 30 %. < 2/3 CaCO3: marl ooze. > 2/3 CaCO3: chalk ooze
    2. CaCO3 < 30 %. > 30 % siliceous fossils: diatom or radiolarian ooze

II. Hemipelagic deposits (muds)
> 25 % of fraction > 5 µm is of terrigenic, volcanogenic, and/or neritic origin
Median grain size >5 µm (except in authigenic minerals and pelagic organisms)
A. Calcareous muds. CaCO3 > 30 %
    1. < 2/3 CaCO3: marl mud. > 2/3 CaCO3: chalk mud
    2. Skeletal CaCO3 > 30 %: foram ~, nanno ~, coquina ~
B. Terrigenous muds, CaCO3 < 30 %. Quarz, feldspar, mica dominant
    Prefixes: quartzose, arkosic, micaceous
C. Volcanogenic muds. CaCO3 < 30 %. Ash, palagonite, etc., dominant

III. Special pelagic and/or hemipelagic deposits
    1. Carbonate-sapropelite cycles (Cretaceous).
    2. Black (carbonaceous) clay and mud: sapropelites (e.g., Black Sea)
    3. Silicified claystones and mudstones: chert (pre-Neogene)
    4. Limestone (pre-Neogene)
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Fig. 1.9 Hemipelagic sediment from Sierra Leone Rise, tropical North Atlantic. Left: Fine silt-size fraction composed
of coccoliths (c), foraminiferal fragments (f) and of detrital quartz (q) and mica (m). Right: Coarse silt-sized fraction
predominately composed of foraminiferal fragments (f), some detrital quartz (q) and mica (m), scalebar 10 µm.

Fig. 1.10 Classification of deep-sea sediments according to the main constituents, e.g. clay (non-biogenic), diatoms
(siliceous biogenic), and nannofossils (calcareous biogenic); (modified from Dean et al. 1985).

1.3 Classification of Marine Sediments
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developed a very detailed and purely descriptive
classification scheme (Fig. 1.10):

• The most frequently occurring component
with a percentage higher than 50 % deter-
mines the designation of the sediment. Non-
biogenic materials are specified accordingly
on the basis of the grain-size fractions: sand,
silt or clay. Biogenic material is referred to as
“ooze” and preceded by the most abundant
biogenic component: nannofossil ooze, fora-
minifera ooze, diatom ooze, and radiolarian
ooze respectively.

• Each component measuring between 25-50 %
is characterized by the following attributes:
sandy, silty, clayey, or nannofossil, foramini-
feral, diatomaceous, or radiolarian.

• Components with percentages between 10-25 %
are referred to by adding the suffix “-bearing”,
as in “clay-bearing”, “diatom-bearing”.

• Components with percentages below 10 % are
not expressed at all, but may be included by
addition of the suffix “rich”, as in “Corg-rich”.

The thus established, four-divided nomencla-
ture of deep-sea sediments with threshold limits of
10 %, 25 % and 50 % easily permits a quite de-
tailed categorization of the sediment which is
adaptable to generally rare, but locally frequent
occurrences of components, e.g. zeolite, eventu-
ally important for a more complete description.

1.4 Global Patterns of
Sediment Distribution

The overall distribution pattern of sediment types
in the world’s oceans depends on few elementary
factors. The most important factor is the relative
amount with which one particle species contrib-
utes to sediment formation. Particle preservation
and eventual dilution with other sediment compo-
nents will modify the basic pattern. The formation
and dispersal of terrigenous constituents derived
from weathering processes on the continents, as
well as autochthonous oceanic-biogenic constitu-
ents, both strongly depend on the prevalent cli-
mate conditions, so that, in the oceans, a latitude-
dependent and climate-related global pattern of
sediment distribution will be the ultimate result.

1.4.1 Distribution Patterns of
Shelf Sediments

The particulate terrigenous weathering products
mainly transported from the continents by rivers
are not homogeneously distributed over the ocean
floor, but concentrate preferentially along the con-
tinental margins, captured either on the shelf or
the continental slope (Fig. 1.11). Massive sedi-
ment layers are built where continental inputs are
particularly high, and preferentially during glacial
periods when sea levels were low.

Approximately 70 % of the continental shelf
surface is covered with relict sediment, i.e. sedi-
ment deposited during the last glacial period un-
der conditions different from today’s, especially at
times when the sea level was comparatively low
(Emery 1968). It has to be assumed that there is a
kind of textural equilibrium between these relict
sediments and recent conditions. The fine-grained
constituents of shelf sediments were eluted
during the rise of the sea level in the Holocene
and thereafter deposited, over the edge of the
shelf onto the upper part of the continental slope,
so that extended modern shelf surface areas
became covered with sandy relict sediment
(Milliman et al. 1972; Milliman and Summerhays
1975).

According to Emery (1968), the sediment distri-
bution on recent shelves displays a plain and dis-
tinctly zonal pattern (Fig. 1.12):

Biogenic sediments with coarse-grained calcare-
ous sediments predominate at lower latitudes,

Detrital sediments with riverine terrigenous
siliciclastic material at moderate latitudes, and

Glacial sediments of terrigenous origin trans-
ported by ice are limited to high latitudes.

In detail, this well pronounced pattern may be-
come strongly modified by local superimpositions.
Coarse-grained biogenic carbonate sediments will
be found at moderate and high latitudes as well, at
places where the riverine terrigenous inputs are
very low (Nelson 1988).

Today, as a result of the post-glacial high sea
levels, most river-transported fine-grained material
is deposited in the estuaries and on the flat inner
shelves in the immediate proximity of river
mouths. Only a small proportion is transported
over the edge of the shelf onto the continental
slope. These processes account for the develop-
ment of mud belts on the shelf, of which 5 types
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of shelf mud accumulation can be distinguished
(McCave 1972, 1985): “muddy coasts, nearshore,
mid- and outer-shelf mud belts and mud blankets’
(Fig. 1.13). Mud belts depend on the amount of
discharged mud load, the prevalent tidal and/or
current system, or the distribution of the sus-

pended sediment. Muddy coasts will preferentially
form near river mouths, whereas mid-shelf mud
belts are characteristic of regions where wave and
tidal activity are relatively lower than on the inner
or outer shelf.

Especially in delta regions where the supply
rates of terrigenous material are high – as in the
tropics – even the entire shelf might become cov-
ered with a consistent blanket of mud, although
the shelf represents a region of high energy con-
version.

1.4.2 Distribution Patterns of
Deep-sea Sediments

The two most essential boundary conditions in
pelagic sedimentation are the nutrient content in
the surface water which controls biogenic produc-
tivity and by this biogenic particle production,
and the position of the calcite compensation
depth (CCD) controlling the preservation of
carbonate. The CCD, below which no calcite is
found, describes a level at which the dissolution
of biogenic carbonate is compensated for by its
supply rate. The depth of the CCD is generally
somewhere between 4 and 5 km below the surface,
however, it varies rather strongly within the three
great oceans due to differences in the water mass
and the rates of carbonate production.

Calcareous ooze and pelagic clays are the pre-
dominant deep-sea sediments in offshore regions
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Fig. 1.11 Sediment thickness to acoustic basement in the world ocean (from Berger 1974).

Fig. 1.12 Latitudinal distribution of sedimentary facies
of the shallow marine environment of continental
shelves in an idealized ocean. Bold arrows = cold water;
light arrows = warm water; grey arrows = upwelling water
(modified from Reineck and Singh 1973).

1.4 Global Patterns of Sediment Distribution
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(Table 1.5). The distribution of these sediments in
the three great oceans shows a considerable de-
gree of variation (Fig. 1.14). The distribution pat-
terns strongly depend on the water depth, i.e. the
position of the CCD. Calcareous ooze, primarily
consisting of foraminiferal oozes and nanno-
plankton oozes, covers vast stretches of the sea-

floor at water depths less than 3-4 km and
roughly retraces the contours of the mid-oceanic
ridges as well as other plateaus and islands,
whereas pelagic clay covers the vast deep-sea
plains in the form of deep-sea red clay. This par-
ticular pattern is especially obvious in the Atlan-
tic Ocean.

muddy coast

1 2

nearshore
 mud-belt

3 4

mid-shelf
mud-belt

outer-shelf
  mud-belt

5

mud blanket
  (off delta)*

S H E L F E D G E

* or under advective mud stream

C O A S T

Fig. 1.13 Schematic representation of modern mud accumulation on continental shelves (modified from McCave
(1972)).

Table 1.5 Relative areas of world oceans covered with pelagic sediments; area of deep-sea floor = 268.1·106 km2

(from Berger (1976)).

Sediments (%) Atlantic Pacific Indian World

Calcareous ooze 65,1 36,2 54,3 47,1
Pteropod ooze 2,4 0,1 --- 0,6
Diatom ooze 6,7 10,1 19,9 11,6
Radiolarian ooze --- 4,6 0,5 2,6
Red clays 25,8 49,1 25,3 38,1

Relative size of ocean (%) 23,0 53,4 23,6 100,0
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Siliceous oozes, mostly consisting of diatom
ooze, form a conspicuous ring around Antarctica
which clearly marks the zone of the Polar Front in
the Antarctic Circumpolar Current. A broad band
of radiolarian ooze covers the Pacific Ocean
below the equatorial upwelling zone, whilst dia-
tom ooze covers the oceanic margins of the
Northern Pacific. Terrigenous sediments, espe-
cially in the form of mass flow deposits and tur-
bidites cover vast stretches of the near-continen-
tal zones in the North Atlantic, the northeastern
Pacific, and the broad deep-sea fans off the big
river mouths in the northern Indian Ocean.
Glacio-marine sediments are restricted to the
continental margins of Antarctica and to the high
latitudes of the North Atlantic.

1.4.3 Distribution Patterns of
Clay Minerals

Apart from the pelagic clays of the abyssal plains
and the terrigenous sediments deposited along

the continental margins, primarily or exclusively
consisting of clay minerals, various amounts of
lithogenous clay minerals can be found in all
types of ocean sediments (Table 1.6). The relative
proportion of the various clay minerals in the sedi-
ments is a function of their original source, their
mode of transport into the area of deposition –
either by eolian or volcanic transport, or by means
of water and ice – and finally the route of
transportation (Petschick et al. 1996). In a global
survey, it is easy to identify the particular interac-
tions which climate, weathering on the continents,
wind patterns, riverine transport, and oceanic
currents have with regard to the relative distribu-
tion of the relevant groups of clay minerals
(kaolinite, illite, smectite, and chlorite).

The distribution of kaolinite in marine sedi-
ments (Fig. 1.15) depends on the intensity of
chemical weathering at the site of the rock’s origin
and the essential patterns of eolian and fluvial
transport. Due to its concentration at equatorial
and tropical latitudes, kaolinite is usually referred

Fig, 1.14 Distribution of dominant sediment types on the present-day deep-sea floor. The main sediment types are
deep-sea clay and calcareous oozes which patterns are predominately depth-controlled. (from Davies and Gorsline
(1976)).

1.4 Global Patterns of Sediment Distribution
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to as the “clay mineral of low latitudes” (Griffin et
al. 1968).

Illite is the most frequent clay mineral to be
found in ocean sediments (Fig. 1.16). It demon-
strates a distinctly higher concentration in sedi-
ments at mid-latitudes of the northern oceans
which are surrounded by great land masses. This
follows particularly from its terrigenous origin and
becomes evident when the Northern Pacific is
compared with the Southern Pacific. The illite con-
centration impressively reflects the percentage
and distribution of particles which were intro-

duced into marine sediments by fluvial transport.
The predominance of illites in the sediments of the
Pacific and Atlantic Oceans at moderate latitudes,
below the trajectories of the jet-stream, indicates
the great importance of the wind system in the
transport of fine-dispersed particulate matter.

The distribution pattern of smectite differs
greatly in the three oceans (Fig. 1.17), and along
with some other factors may be explained as an ef-
fect induced by dilution. Smectite is generally
considered as an indicator of a “volcanic regime”
(Griffin et al. 1968). Thus, high smectite concentra-

Kaolinite Illite Smectite Chlorite

North Atlantic 20 56 16 10
         Gulf of Mexico 12 25 45 18
         Caribbian Sea 24 36 27 11
South Atlanic 17 47 26 11
North Pacific 8 40 35 18
South Pacific 8 26 53 13
Indian Ocean 16 30 47 10
         Bay of Bengal 12 29 45 14
         Arabian Sea 9 46 28 18

Table 1.6 Average relative concentrations [wt.%] of the principal clay mineral groups in the < 2 �m carbonate-free
fraction in sediments from the major ocean basins (data from Windom 1976).

Fig. 1.15 Relative distribution of kaolinite in the world ocean, concentration in the carbonate-free < 2 µm size frac-
tion (from Windom 1976).
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tions are usually observed in sediments of the
Southern Pacific, in regions of high volcanic activ-
ity, where the sedimentation rates are very low
due to great distances from the shoreline, and
where the dilution with other clay minerals is low

Fig. 1.16 Relative distribution of illite in the world ocean, concentration in the carbonate-free < 2 µm size fraction
(from Windom 1976).

Fig. 1.17 Relative distribution of smectite in the world ocean, concentration in the carbonate-free < 2 µm size
fraction (from Windom 1976).

1.4 Global Patterns of Sediment Distribution

as well. The low smectite concentration in the
North Atlantic results from terrigenous detritus in-
puts which are rich in illites and chlorites.

The distribution of chlorite in deep-sea sedi-
ments (Fig. 1.18) is essentially inversely related to
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Fig. 1.18 Relative distribution of chlorite in the world ocean, concentration in the carbonate-free < 2 µm size
fraction (from Windom 1976).

Table 1.7 Sedimentation rates of red clay in various
deep-sea basins of the world ocean (data from various
sources, e.g. Berger 1974, Gross 1987).

the pattern of kaolinite. Although chlorite is dis-
tributed homogeneously over the oceans, its high-
est concentration is measured in polar regions and
therefore is referred to as the “high latitude
mineral” (Griffin et al. 1968).

1.4.4 Sedimentation Rates

As can be seen in Table 1.8, the sedimentation
rates of typical types of deep-sea sediments show
a strong geographical variability which is based
on the regionally unsteady import of terrigenous
material and a highly variable biogenic productiv-
ity in the ocean.

Basically, it can be stated that the sedimenta-
tion rate decreases with increasing distance from a
sediment source, may this either be a continent or
an area of high biogenic productivity. The highest
rates of terrigenous mud formation are recorded
on the shelf off river mouth’s and on the
continental slope, where sedimentation rates can
amount up to several meters per one thousand
years. Distinctly lower values are observed at de-
tritus-starved continental margins, for example of
Antarctica. The lowest sedimentation rates ever
recorded lie between 1 and 3 mm ky-1. and are
connected to deep-sea red clay in the offshore
deep-sea basins (Table 1.7), especially in the cen-
tral Pacific Ocean.

Calcareous biogenic oozes demonstrate in-
termediate rates which frequently lie between 10
and 40 mm ky-1. Their distribution pattern de-
pends on the biogenic production and on the wa-
ter depth, or the depth of the CCD. As yet, rate
values between 2 and 10 mm ky-1. were con-
sidered as normal for the sedimentation of sili-
ceous oozes. Recent investigations in the region
of the Antarctic Circumpolar Current have re-
vealed that a very high biogenic production, in
connection with lateral advection and “sediment
focusing”, can even give rise to sedimentation
rates of more than 750 mm per thousand years
(Fig. 1.19).

  Rate (mm ky-1)
Mean Range

North Atlantic 1,8 0.5-6.2
South Atlantic 1,9 0.2-7.5
North Pacific 1,5 0.4-6.0
South Pacific 0,45 0.3-0.6
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Table 1.8 Typical sedimentation rates of recent and subrecent marine sediments (data from various sources, e.g.
Berger 1974, Gross 1987).

1.4 Global Patterns of Sediment Distribution

Fig. 1.19 Distribution of major sediment facies across the frontal system of the Antarctic Circumpolar Current
(ACC) between Africa and Antarctica. Numbers are typical sedimentation rates in mm ky-1. PF = Polar Front, SAF =
Sub Antarctic Front, STF = Subtropical Front.
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1.5 Problems

Problem 1

Is there any correlation between the distribution
of calcareous and siliceous sediments, terrigenous
sediments and deep-sea clay?

Problem 2

Explain the distribution pattern of clay minerals
kaolinite, illite, chlorite and smectite in the world
ocean. Why should be illite more common in the
North Atlantic than in the South Atlantic?

Problem 3

What are the reasons why sediments of the
Atlantic Ocean are thicker along the continental
margin than near the mid-Atlantic ridge?

Problem 4

What causes the variability of sedimentation
rates?

Problem 5

Summarize and explain the main aspects of deep
sea sediment classification.
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Generally, physical properties of marine sedi-
ments are good indicators for the composition,
microstructure and environmental conditions
during and after the depositional process. Their
study is of high interdisciplinary interest and
follows various geoscientific objectives.

Physical properties provide a lithological
and geotechnical description of the sediment.
Questions concerning the composition of a de-
positional regime, slope stability or nature of
seismic reflectors are of particular interest within
this context. Parameters like P- and S-wave velo-
city and attenuation, elastic moduli, wet bulk
density and porosity contribute to their solution.

As most physical properties can be mea-
sured very quickly in contrast to parameters like
carbonate content, grain size distribution or
oxygen isotope ratio, they often serve as proxy
parameters for geological or paleoceanogra-
phical processes and changes in the environ-
mental conditions. Basis for this approach are
correlations between different parameters which
allow to derive regression equations of regional
validity. Highly resolved physical properties are
used as input parameters for such equations to
interpolate coarsely sampled geological, geo-
chemical or sedimentological core logs. Examples
are the P-wave velocity, attenuation and wet
bulk density as indices for the sand content or
mean grain size and the magnetic susceptibility
as an indicator for the carbonate content or
amount of terrigenous components. Additional-
ly, highly resolved physical property core logs
are often used for time series analysis to derive
quaternary stratigraphies by orbital tuning.

In marine geochemistry, physical parameters
which quantify the amount and distribution of
pore space or indicate alterations due to diage-
nesis are important. Porosities are necessary to
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calculate flow rates, permeabilities describe how
easy a fluid flows through a porous sediment
and increased magnetic susceptibilities can be
interpreted by an increased iron content or,
more generally, by a high amount of magnetic
particles within a certain volume.

This high interdisciplinary value of physical
property measurements results from the diffe-
rent effects of changed environmental condi-
tions on sediment structure and composition.
Apart from anthropogeneous influences varia-
tions in the environmental conditions result
from climatic changes and tectonic events
which affect the ocean circulation and related
production and deposition of biogenic and
terrigenous components. Enhanced or reduced
current intensities during glacial or interglacial
stages cause winnowing, erosion and redepo-
sition of fine-grained particles and directly
modify the sediment composition. These effects
are subject of sedimentological and paleoce-
anographical studies. Internal processes like
early diagenesis, newly built authigenic sedi-
ments or any other alterations of the solid and
fluid constituents of marine sediments are of
geochemical interest. Gravitational mass trans-
ports at continental slopes or turbidites in large
submarine fan systems deposit as coarse-
grained chaotic or graded beddings. They can
be identified in high-resolution physical proper-
ty logs and are often directly correlated with sea
level changes, results valuable for sedimento-
logical,  seismic and sequence stratigraphic
investigations. Generally, any changes in the
sediment structure which modify the elastic
properties of the sediment influence the reflec-
tion characteristics of the subsurface and can
be imaged by remote sensing seismic or echo-
sounder surveys.
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Fig. 2.1 Components of marine sediments. The single
particles are the sediment grains. The voids between
these particles – the pores – are filled with pore fluid,
usually sea water. Welded particles and sediment grains in
close contact build the sediment frame.

Fig. 2.2 Two types of sediment models. (a) The layered, volume-oriented model for bulk parameters only depends on
the relative amount of solid and fluid components. (b) The microstructure-oriented model for acoustic and elastic
parameters takes the complicated shape and geometry of the particle and pore size distribution into account and con-
siders interactions between the solid and fluid constituents during wave propagation.

2.1 Introduction

Physical properties of marine sediments depend
on the properties and arrangement of the solid
and fluid constituents. To fully understand the
image of geological and paleoceanographical
processes in physical property core logs it is
helpful to consider the single components in
detail (Fig. 2.1).

By most general definition a sediment is a
collection of particles - the sediment grains -
which are loosely deposited on the sea floor and
closely packed and consolidated under increasing
lithostatic pressure. The voids between the sedi-
ment grains - the pores - form the pore space. In

water-saturated sediments it is filled with pore
water. Grains in close contact and welded particles
build the sediment frame. Shape, arrangement,
grain size distribution and packing of particles
determine the elasticity of the frame and the
relative amount of pore space.

Measurements of physical properties usually
encompass the whole, undisturbed sediment. Two
types of parameters can be distinguished: (1) bulk
parameters and (2) acoustic and elastic para-
meters. Bulk parameters only depend on the
relative amount of solid and fluid components
within a defined sample volume. They can be
approximated by a simple volume-oriented model
(Fig. 2.2a). Examples are the wet bulk density and
porosity. In contrast, acoustic and elastic para-
meters depend on the relative amount of solid and
fluid components and on the sediment frame
including arrangement, shape and grain size
distribution of the solid particles. Viscoelastic
wave propagation models simulate these
complicated structures, take the elasticity of the
frame into account and consider interactions
between solid and fluid constituents. (Fig. 2.2b).
Examples are the velocity and attenuation of P-
and S-waves. Closely related parameters which
mainly depend on the distribution and capillarity
of the pore space are the permeability and
electrical resistivity.

Various methods exist to measure the different
physical properties of marine sediments. Some
parameters can be measured directly, others
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2.2 Porositiy and Wet Bulk Density

indirectly by determining one or several related
parameters and computing the desired property by
empirical or model-based equations. For consoli-
dated sedimentary, igneous and metamorphic
rocks Schön (1996) described a large variety of
such methods for all common physical properties.
Some of these methods can also be applied to
unconsolidated, water-saturated sediments, others
have to be modified or are completely inapprop-
riate. Principally, if empirical relations or sediment
models are used, the implicit assumptions have to
be checked carefully. An example is Archie’s law
(Archie 1942) which combines the electrical resis-
tivities of the pore fluid and saturated sediment
and with its porosity. An exponent and multiplier
in this equation depend on the sediment type and
composition and change from fine- to coarse-
grained and from terrigenous to biogenic sedi-
ments. Another example is Wood’s equation
(Wood 1946) which relates P-wave velocities to
porosities. This model approximates the sediment
by a dilute suspension and neglects the sediment
frame, any interactions between particles or
particles and pore fluid and assumes a ‘zero’
frequency for acoustic measurements. Such
assumptions are only valid for a very limited set of
high porosity sediments so that for any compari-
sons these limitations should be kept in mind.

Traditional measuring techniques use small
chunk samples taken from the split core. These
techniques are rather time-consuming and could
only be applied at coarse sampling intervals. The
necessity to measure high-resolution physical
property logs rapidly on a milli- to centimeter
scale for a core-to-core or core-to-seismic data
correlation, and the opportunity to use high-
resolution physical property logs for stratigraphic
purposes (e.g. orbital tuning) forced the deve-
lopment of non-destructive, automated logging
systems. They record one or several physical
properties almost continuously at arbitrary small
increments under laboratory conditions. The most
common tools are the multi sensor track (MST)
system for P-wave velocity, wet bulk density and
magnetic susceptibility core logging onboard of
the Ocean Drilling Program research vessel
JOIDES Resolution (e.g. Shipboard Scientific
Party 1995), and the commercially available multi
sensor core logger (MSCL) of GEOTEK™
(Schultheiss and McPhail 1989; Weaver and
Schultheiss 1990; Gunn and Best 1998).
Additionally, other core logging tools have simul-
taneously been developed for special research

interests which for instance record electrical resis-
tivities (Bergmann 1996) or full waveform trans-
mission seismograms on sediment cores (Breitzke
and Spieß 1993). They are particularly discussed
in this paper.

While studies on sediment cores only provide
information on the local core position, lateral
variations in physical properties can be imaged by
remote sensing methods like high-resolution seis-
mic or sediment echosounder profiling. They
facilitate core-to-core correlations over large dis-
tances and allow to evaluate physical property
logs within the local sedimentation environment.

In what follows the theoretical background of
the most common physical properties and their
measuring tools are described. Examples for the
wet bulk density and porosity can be found in
Section 2.2. For the acoustic and elastic para-
meters first the main aspects of Biot-Stoll’s
viscoelastic model which computes P- and S-wave
velocities and attenuations for given sediment
parameters (Biot 1956a, b, Stoll 1974, 1977, 1989)
are summarized. Subsequently, analysis methods
are described to derive these parameters from
transmission seismograms recorded on sediment
cores, to compute additional properties like elastic
moduli and to derive the permeability as a related
parameter by an inversion scheme (Sect. 2.4).

Examples from terrigenous and biogenic
sedimentation provinces are presented (1) to
illustrate the large variability of physical
properties in different sediment types and (2) to
establish a sediment classification which is only
based on physical properties, in contrast to
geological sediment classifications which mainly
uses parameters like grain size distribution or
mineralogical composition (Sect. 2.5).

Finally, some examples from high-resolution
narrow-beam echosounder recordings present
remote sensing images of terrigenous and bioge-
nic sedimentation environments (Sect. 2.6).

2.2 Porosity and Wet Bulk Density

Porosity and wet bulk density are typical bulk
parameters which are directly associated with the
relative amount of solid and fluid components in
marine sediments. After definition of both para-
meters this section first describes their traditional
analysis method and then focuses on recently
developed techniques which determine porosities
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and wet bulk densities by gamma ray attenuation
and electrical resistivity measurements.

The porosity (φ) characterizes the relative
amount of pore space within a sample volume. It is
defined by the ratio

V
V

volumesampletotal
spaceporeofvolume f==φ (2.1)

Equation 2.1 describes the fractional porosity
which ranges from 0 in case of none pore volume
to 1 in case of a water sample. Multiplication with
100 gives the porosity in percent. Depending on
the sediment type porosity occurs as inter- and
intraporosity. Interporosity specifies the pore
space between the sediment grains and is typical
for terrigenous sediments. Intraporosity includes
the voids within hollow sediment particles like
foraminifera in calcareous ooze. In such sediments
both inter- and intraporosity contribute to the
total porosity.

The wet bulk density (ρ) is defined by the
mass (m) of a water-saturated sample per sample
volume (V)

V
m

volumesampletotal
samplewetofmass

==ρ (2.2)

Porosity and wet bulk density are closely
related, and often porosity values are derived from
wet bulk density measurements and vice versa.
Basic assumption for this approach is a two-
component model for the sediment with uniform
grain and pore fluid densities (ρg) and (ρf). The wet
bulk density can then be calculated using the
porosity as a weighing factor

( ) gf ρφρφρ ⋅−+⋅= 1 (2.3)

If two or several mineral components with
significantly different grain densities contribute
to the sediment frame their densities are ave-
raged in (ρg).

2.2.1 Analysis by Weight and Volume

The traditional way to determine porosity and wet
bulk density is based on weight and volume
measurements of small sediment samples. Usually
they are taken from the centre of a split core by a
syringe which has the end cut off and a definite
volume of e.g. 10 ml. While weighing can be done
very accurately in shore-based laboratories mea-

surements onboard of research vessels require
special balance systems which compensate the
shipboard motions (Childress and Mickel 1980).
Volumes are measured precisely by Helium gas
pycnometers. They mainly consist of a sample cell
and a reference cell and employ the ideal gas law
to determine the sample volume. In detail, the
sediment sample is placed in the sample cell, and
both cells are filled with Helium gas. After a valve
connecting both cells are closed, the sample cell is
pressurized to (P1). When the valve is opened the
pressure drops to (P2) due to the increased cell
volume. The sample volume (V) is calculated from
the pressure ratio (P1/P2) and the volumes of the
sample and reference cell, (Vs) and (Vref) (Blum
1997).

211 PP

V
VV ref

s
−

+= (2.4)

While weights are measured on wet and dry
samples having used an oven or freeze drying,
volumes are preferentially determined on dry
samples. A correction for the mass and volume of
the salt precipitated from the pore water during
drying must additionally be applied (Hamilton
1971; Gealy 1971) so that the total sample volume
(V) consists of

fsaltdry VVVV +−= (2.5)

The volumes (Vf) and (Vsalt) of the pore space and
salt result from the masses of the wet and dry
sample, (m) and (mdry), from the densities of the pore
fluid and salt (ρf =1.024 g cm-3 and ρsalt = 2.1 g cm-3)
and from the fractional salinity (s)
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ρρ
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with : ( )dryfsalt mmmm −−=

Together with the mass (m) of the wet sample
equations 2.5 to 2.7 allow to compute the wet bulk
density according to equation 2.2.

Wet bulk density computations according to
equation 2.3 require the knowledge of grain
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densities (ρg). They can also be determined from
weight and volume measurements on wet and dry
samples (Blum 1997)

saltdry

saltdry

g

g
g VV

mm
V
m

−
−

==ρ (2.8)

Porosities are finally computed from the volumes
of the pore space and sample as defined by the
equations above.

2.2.2 Gamma Ray Attenuation

The attenuation of gamma rays passing radially
through a sediment core is a widely used effect to
analyze wet bulk densities and porosities by a
non-destructive technique. Often 137Cs is used as
source which emits gamma rays of 662 keV energy.
They are mainly attenuated by Compton
scattering (Ellis 1987). The intensity I of the
attenuated gamma ray beam depends on the
source intensity (I0), the wet bulk density (ρ) of
the sediment, the ray path length (d) and the
specific Compton mass attenuation coefficient (µ)

deII µρ−⋅= 0 (2.9)

To determine the source intensity in practice
and to correct for the attenuation in the liner walls
first no core and then an empty core liner are
placed between the gamma ray source and
detector to measure the intensities (Iair) and (Iliner).
The difference (Iair - Iliner) replaces the source
intensity (I0), and the ray path length (d) is
substituted by the measured outer core diameter
(doutside) minus the double liner wall thickness
(2dliner). With these corrections the wet bulk
density (ρ) can be computed according to

( ) ⎟
⎟

⎠

⎞

⎜
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−
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−⋅
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linerairlineroutside II
I

dd
ln

2
1

µ
ρ (2.10)

Porosities are derived by rearranging equation
2.3 and assuming a grain density (ρg).

The specific Compton mass attenuation
coefficient (µ) is a material constant. It depends
on the energy of the gamma rays and on the ratio
(Z/A) of the number of electrons (Z) to the atomic
mass (A) of the material (Ellis 1987). For most
sediment and rock forming minerals this ratio is
about 0.5, and for a 137Cs source the correspon-
ding mass attenuation coefficient (µg) for sediment
grains is 0.0774 cm2 g-1. However, for the hydro-

gen atom (Z/A) is close to 1.0 leading to a signi-
ficantly different mass attenuation coefficient (µf)
in sea water of 0.0850 cm2 g-1 (Gerland and
Villinger 1995). So, in water-saturated sediments
the effective mass attenuation coefficient (µ)
results from the sum of the mass weighted
coefficients of the solid and fluid constituents
(Bodwadkar and Reis 1994)

( ) g
g

f
f µ

ρ
ρ

φµ
ρ

ρ
φµ ⋅⋅−+⋅⋅= 1 (2.11)

The wet bulk density (ρ) in the denominator is
defined by equation 2.3. Unfortunately, equations
2.3 and 2.11 depend on the porosity (φ), a
parameter which should actually be determined by
gamma ray attenuation. Gerland (1993) used an
average ‘processing porosity’ of 50% for terrige-
nous, 70% for biogenic and 60% for cores of mixed
material to estimate the effective mass attenuation
coefficient for a known grain density. Whitmarsh
(1971) suggested an iterative scheme which
improves the mass attenuation coefficient. It
starts with an estimated ‘processing porosity’ and
mass attenuation coefficient (eq. 2.11) to calculate
the wet bulk density from the measured gamma ray
intensity (eq. 2.10). Subsequently, an improved
porosity (eq. 2.3) and mass attenuation coefficient
(eq. 2.11) can be calculated for a given grain
density. Using these optimized values in a second
iteration wet bulk density, porosity and mass
attenuation coefficient are re-evaluated. Gerland
(1993) and Weber et al. (1997) showed that after
few iterations (< 5) the values of two successive
steps differ by less than 0.1‰ even if a ‘processing
porosity’ of 0 or 100% and a mass attenuation
coefficient of 0.0774 cm2 g-1 or 0.0850 cm2 g-1 for a
purely solid or fluid ‘sediment’ are used as
starting values.

Gamma ray attenuation is usually measured by
automated logging systems, e.g. onboard of the
Ocean Drilling Program research vessel JOIDES
Resolution (Boyce 1973, 1976) by the multisensor
core logger of GEOTEK™ (Schultheiss and
McPhail 1989; Weaver and Schultheiss 1990; Gunn
and Best 1998) or by specially developed systems
(Gerland 1993; Bodwadkar and Reis 1994; Gerland
and Villinger 1995). The emission of gamma rays is
a random process which is quantified in counts
per second, and which are converted to wet bulk
densities by appropriate calibration curves
(Weber et al. 1997). To get a representative value

2.2 Porositiy and Wet Bulk Density
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Fig. 2.3 Gamma counts for a 1 m long core section of gravity core PS2557-1 used to illustrate the influence of various
integration times and measuring increments. Curve A is recorded with an increment of 1 cm and an integration time of
10 s, curve B with an increment of 1 cm and an integration time of 20 s, curve C with an increment of 0.5 cm and an
integration time of 60 s and curve D with an increment of 0.2 cm and an integration time of 120 s. To facilitate the
comparison each curve is set off by 800 counts. Modified after Weber et al. (1997).

for the gamma ray attenuation gamma counts must
be integrated over a sufficiently long time interval.
How different integration times and measuring
increments influence the quality, resolution and
reproducibility of gamma ray logs illustrates
Figure 2.3. A 1 m long section of gravity core
PS2557-1 from the South African continental
margin was repeatedly measured with increments
from 1 to 0.2 cm and integration times from 10 to
120 s. Generally, the dominant features, which can
be related to changes in the lithology, are
reproduced in all core logs. The prominent peaks
are more pronounced and have higher amplitudes
if the integration time increases (from A to D).
Additionally, longer integration times reduce the
scatter (from A to B). Fine-scale lithological
variations are best resolved by the shortest
measuring increment (D).

A comparison of wet bulk densities derived
from gamma ray attenuation with those measured
on discrete samples is shown in Figure 2.4a for
two gravity cores from the Arctic (PS1725-2) and
Antarctic Ocean (PS1821-6). Wet bulk densities,

porosities and grain densities of the discrete
samples were analyzed by their weight and volume.
These grain densities and a constant ‘processing
porosity’ of 50% were used to evaluate the gamma
counts. Displayed versus each other both data sets
essentially differ by less than ±5% (dashed lines).
The lower density range (1.20 - 1.65 g cm-3) is
mainly covered by the data of the diatomaceous
and terrigenous sediments of core PS1821-6 while
the higher densities (1.65 - 2.10 g cm-3) are
characteristic for the terrigenous core PS1725-2.
According to Gerland and Villinger (1995) the
scatter in the correlation of both data sets probab-
ly results from (1) a slight shift in the depth
scales, (2) the fact that both measurements do not
consider identical samples volumes, and (3)
artefacts like drainage of sandy layers due to core
handling, transportation and storage.

A detailed comparison of both data sets is
shown in Figure 2.4b for two segments of core
PS1725-2. Wet bulk densities measured on discrete
samples agree very well with the density log
derived from gamma ray attenuation. Additionally,
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Fig. 2.4 Comparison of wet bulk densities determined on discrete samples by weight and volume measurements and
calculated from gamma ray attenuation. (a) Cross plot of wet bulk densities of gravity cores PS1821-6 from the
Antarctic and PS1725-2 from the Arctic Ocean. The dashed lines indicate a difference of ±5% between both data sets.
(b) Wet bulk density logs derived from gamma ray attenuation for two 1 m long core sections of gravity core PS1725-2.
Superimposed are density values measured on discrete samples. Modified after Gerland and Villinger (1995).

2.2 Porositiy and Wet Bulk Density
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the striking advantage of the almost continuous
wet bulk density log clearly becomes obvious.
Measured with an increment of 5 mm a lot of fine-
scale variations are defined, a resolution which
could never be reached by the time-consuming
analysis of discrete samples (Gerland 1993;
Gerland and Villinger 1995).

The precision of wet bulk densities can be
slightly improved, if the iterative scheme for the
mass attenuation coefficient is applied (Fig. 2.5a).
For core PS1725-2 wet bulk densities computed
with a constant mass attenuation coefficient are
compared with those derived from the iterative
procedure. Below 1.9 g cm-3 the iteration produces
slightly smaller densities than are determined with
a constant mass attenuation coefficient and are

thus below the dotted 1:1 line. Above 1.9 g cm-3

densities based on the iterative procedure are
slightly higher.

If both data sets are plotted versus the wet
bulk densities of the discrete samples the
optimization essentially becomes obvious for high
densities (>2.0 g cm-3, Fig. 2.5b). After iteration
densities are slightly closer to the dotted 1:1 line.

While this improvement is usually small and
here only on the order of 1.3% (≈0.02 g cm-3), diffe-
rences between assumed and true grain density
affect the iteration more distinctly (Fig. 2.5c). As
an example wet bulk densities of core PS1725-2
were calculated with constant grain densities of
2.65, 2.75 and 2.10 g cm-3, values which are typical
for calcareous, terrigenous and diatomaceous

Fig. 2.5 Influence of an iterative mass attenuation coef-
ficient determination on the precision of wet bulk densi-
ties. The gamma ray attenuation log of gravity core
PS1725-2 was used as test data set. (a) Wet bulk densities
calculated with a constant mass attenuation coefficient
('processing porosity' =50%) are displayed versus the data
resulting from the iteration. A pore fluid density of 1.024 g cm-3

and a constant grain density of 2.7 g cm-3 were used, and
the iteration was stopped if densities of two successive
steps differed by less than 0.1‰ (b) Cross plot of wet
bulk densities measured on discrete samples versus wet
bulk densities calculated from gamma ray attenuation
with a constant mass attenuation coefficient (� ) and
with the iterative scheme (+). (c) Influence of grain den-
sity on iteration. Three grain densities of 2.65, 2.75 and
2.1 g cm-3 were used to calculate wet bulk densities. Modi-
fied after Gerland (1993).
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sediments. Displayed as cross-plot, calculations
with grain densities of 2.65 and 2.75 g cm-3 almost
coincide and follow the dotted 1:1 line. However,
computations with a grain density of 2.10 g cm-3

differ by 1.3 - 3.6% (0.02 - 0.08 g cm-3) from those
with a grain density of 2.65 g cm-3. This result is
particularly important for cores composed of terri-
genous and biogenic material of significantly
different grain densities like the terrigenous and dia-
tomaceous components in core PS1821-6. Here, an
iteration with a constant grain density of 2.65 g cm-3

would give erroneous wet bulk densities in the
diatomaceous parts. In such cores a depthdepen-
dent grain density profile should be applied in
combination with the iterative procedure, or other-
wise wet bulk densities would better be calculated
with a constant mass attenuation coefficient.
However, if the grain density is almost constant
downcore the iterative scheme could be applied
without any problems.

2.2.3 Electrical Resistivity
(Galvanic Method)

The electrical resistivity of water-saturated sedi-
ments depends on the resistivity of its solid and
fluid constituents. However, as the sediment
grains are poor conductors an electrical current
mainly propagates in the pore fluid. The dominant
transport mechanism is an electrolytic conduction
by ions and molecules with an excess or deficien-
cy of electrons. Hence, current propagation in
water-saturated sediments actually transports
material through the pore space, so that the
resistivity depends on both the conductivity of
the pore water and the microstructure of the
sediment. The conductivity of pore water varies
with its salinity, and mobility and concentration of
dissolved ions and molecules. The microstructure
of the sediment is controlled by the amount and
distribution of pore space and its capillarity and
tortuosity. Thus, the electrical resistivity cannot
be considered as a bulk parameter which strictly
only depends on the relative amount of solid and
fluid components, but as shown below, it can be
used to derive porosity and wet bulk density as
bulk parameters after calibration to a ‘typical’
sediment composition of a local sedimentation
environment.

Several models were developed to describe
current flow in rocks and water-saturated sedi-
ments theoretically. They encompass simple plane
layered models (Waxman and Smits 1968) as well

as complex approximations of pore space by self
similar models (Sen et al. 1981), effective medium
theories (Sheng 1991) and fractal geometries
(Ruffet et al. 1991). In practice these models are of
minor importance because often only few of the
required model parameters are known. Here, an
empirical equation is preferred which relates the
resistivity (Rs) of the wet sediment to its fractional
porosity (φ) (Archie 1942)

m

f

s a
R
R

F −⋅== φ (2.12)

The ratio of the resistivity (Rs) in sediment to
the resistivity (Rf) in pore water defines the
formation (resistivity) factor (F). (a) and (m) are
constants which characterize the sediment
composition. As Archie (1942) assumed that (m)
indicates the consolidation of the sediment it is
also called cementation exponent (cf. Sect. 3.2.2).
Several authors derived different values for (a)
and (m). For an overview please refer to Schön
(1996). In marine sediments often Boyce’s (1968)
values (a = 1.3, m = 1.45), determined by studies
on diatomaceous, silty to sandy arctic sediments,
are applied. Nevertheless, these values can only
be rough estimates. For absolutely correct porosi-
ties both constants must be calibrated by an
additional porosity measurement, either on
discrete samples or by gamma ray attenuation.
Such calibrations are strictly only valid for that
specific data set but, with little loss of accuracy,
can be transferred to regional environments with
similar sediment compositions. Wet bulk densities
can then be calculated using equation 2.3 and
assuming a grain density (cf. also section 3.2.2).

Electrical resistivities can be measured on split
cores by a half-automated logging system (Berg-
mann 1996). It measures the resistivity (Rs) and
temperature (T) by a small probe which is manu-
ally inserted into the upper few millimeters of the
sediment. The resistivity (Rf) of the interstitial
pore water is simultaneously calculated from a
calibration curve which defines the temperature-
conductivity relation of standard sea water (35‰
salinity) by a fourth power law (Siedler and Peters
1986).

The accuracy and resolution that can be achie-
ved compared to measurements on discrete
samples were studied on the terrigenous square
barrel kastenlot core PS2178-5 from the Arctic
Ocean. If both data sets are displayed as cross
plots porosities mainly range within the dashed
10% error lines, while densities mainly differ by

2.2 Porositiy and Wet Bulk Density
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Fig. 2.6 Comparison of porosities and wet bulk densities measured on discrete samples and by electrical resistivities.
Boyce’s (1968) values for the coefficients (a) and (m) and pore fluid and grain densities of 1.024 g cm-3 and 2.67 g cm-3

were used to convert formation factors into porosities and wet bulk densities. Wet and dry weights and volumes were
analyzed on discrete samples. (a) Cross plots of both data sets for square barrel kastenlot core PS2178-5. The dashed
lines indicate an error of 10% for the porosity and 5% for the density data. (b) Porosity and wet bulk density logs of
core PS2178-5 derived from resistivity measurements. Superimposed are porosity and density values measured on
discrete samples. Data from Bergmann (1996).
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Fig. 2.7 Formation factor versus porosity for six gravity cores retrieved from different sedimentation provinces in
the South Atlantic. Porosities were determined on discrete samples by wet and dry weights and volumes, formation
factors by resistivity measurements. The dashed lines indicate Archie’s law for a = 1 and cementation exponents (m)
between 1 and 5. For a description of the sedimentation provinces, core numbers, coring locations, sediment
compositions, water depths and constants (a) and (m) derived from linear least square fits please refer to Table 2.1.
Unpublished data from M. Richter, University Bremen, Germany.

less than 5% (Fig. 2.6a). The core logs illustrate
that the largest differences occur in the laminated
sandy layers, particularly between 1.5 and 3.5 m
and between 4.3 and 5.1 m depth (Fig. 2.6b). A
drainage of the sandy layers, slight differences in
the depth scale and different volumes considered
by both methods probably cause this scatter.
Nevertheless, in general both data sets agree very
well having used Boyce’s (1968) values for (a) and
(m) and a typical terrigenous grain density of
2.67 g/cm3 for porosity and wet bulk density
computations. This is valid because the sedimen-
tation environment of core PS2178-5 from the
Arctic Ocean is rather similar to the Bering Sea
studied by Boyce (1968).

The influence of the sediment composition on
the formation factor-porosity relation illustrates
Figure 2.7 for six provinces in the South Atlantic.
For each core porosities and formation factors
were evaluated at the same core depths by wet
and dry weights and volumes of discrete samples

and by electrical resistivities. Displayed as a cross
plot on a log-log scale the data sets of each core
show different trends and thus different cemen-
tation exponents. Jackson et al. (1978) tried to
relate such variations in the cementation exponent
to the sphericity of sediment particles. Based on
studies on artificial samples they found higher
cementation exponents if particles become less
spherical. For natural sediments incorporating a
large variety of terrigenous and biogenic particle
sizes and shapes, it is difficult to verify similar
relations. It is only obvious that coarse-grained
calcareous foraminiferal oozes from the Hunter
Gap show the lowest and fine-grained, diatom-
bearing hemipelagic mud from the Congo Fan
upwelling the highest cementation exponent.
Simultaneously, the constant (a) decreases with
increasing cementation exponent (Tab. 2.1). Possibly,
in natural sediments the amount and distribution
of pore space are more important than the par-
ticle shape. Generally, cementation exponent (m),

2.2 Porositiy and Wet Bulk Density
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Table 2.1 Geographical coordinates, water depth, core length, region and composition of the sediment cores
considered in Figure 2.7. The cementation exponent (m) and the constant (a) are derived from the slope and
intercept of a linear least square fit to the log-log display of formation factors versus porosities.

constant (a) and formation factor (F) together
characterize a specific environment. Table 2.1
summarizes the values of (a) and (m) derived from
a linear least square fit to the log-log display of
the data sets and shortly describes the sediment
compositions.

With these values for (a) and (m) calibrated
porosity logs are calculated which agree well with
porosities determined on discrete samples (Fig.
2.8, black curves). The error in porosity that may
result from using the ‘standard’ Boyce’s (1968)
values for (a) and (m) instead of those derived
from the calibration appears in two different ways
(gray curves). (1) The amplitude of the downcore
porosity variations might be too large, as is
illustrated by core GeoB2110-4 from the Brazilian
Continental Margin. (2) The log might be shifted
to higher or lower porosities, as is shown by core
GeoB1517-1 from the Ceará Rise. Only if linear
regression results in values for (a) and (m) close
to Boyce’s (1968) coefficients the error in the
porosity log is negligible (core GeoB1701-4 from
the Niger Mouth).

In order to compute absolutely correct wet bulk
densities from calibrated porosity logs a grain
density must be assumed. For most terrigenous and
calcareous sediment cores this parameter is not
very critical as it often only changes by few
percent downcore (e.g. 2.6 - 2.7 g cm-3). However, in
cores from the Antarctic Polar Frontal Zone where

an interlayering of diatomaceous and calcareous
oozes indicates the advance and retreat of the
oceanic front during glacial and interglacial stages
grain densities may vary between about 2.0 and
2.8 g cm-3. Here, depth-dependent values must
either be known or modeled in order to get correct
wet bulk density variations from resistivity
measurements. An example for this approach are
resistivity measurements on ODP core 690C from
the Maud Rise (Fig. 2.9). While the carbonate log
(b) clearly indicates calcareous layers with high
and diatomaceous layers with zero CaCO3
percentages (O’Connell 1990), the resistivity-
based porosity log (a) only scarcely reflects these
lithological changes. The reason is that
calcareous and diatomaceous oozes are characte-
rized by high inter- and intraporosities incorpora-
ted in and between hollow foraminifera and diatom
shells. In contrast, the wet bulk density log
measured onboard of JOIDES Resolution by gamma
ray attenuation ((c), gray curve) reveals pronounced
variations. They obviously correlate with the CaCO3-
content and can thus only be attributed to downcore
changes in the grain density. So, a grain density
model (d) was developed. It averages the densities
of carbonate (ρcarb = 2.8 g cm-3) and biogenic opal
(ρopal = 2.0 g cm-3) (Barker, Kennnett et al. 1990)
according to the fractional CaCO3-content (C),
ρmodel = C×ρcarb + (1 - C)×ρopal. Based on this model
wet bulk densities ((c), black curve) were derived from

Core Coordinates Water Core Region Sediment Factor Cementation
Depth Length Composition (a) Exponent (m)

GeoB 35°12.4'S 4058 m 6.97 m Hunter foram.-nannofossil 1,6 1,3
1306-2 26°45.8'W Gap ooze, sandy

GeoB 04°44.2'N 4001 m 6.89 m Ceará nannofossil-foram. 1,3 2,1
1517-1 43°02.8'W Rise ooze

GeoB 01°57.0'N 4162 m 7.92 m Niger clayey mud, foram. 1,4 1,4
1701-4 03°33.1'E Mouth bearing

GeoB 29°58.2'S 5084 m 7.45 m Cape red clay 1,0 2,8
1724-2 08°02.3'E Basin

GeoB 28°38.8'S 3011 m 8.41 m Braz. Cont. pelagic clay. Foram. 0,8 3,3
2110-4 45°31.1'W Margin bearing

GeoB 05°06.4'S 1830 m 14.18 m Congo hemipelagic mud, 0,8 5,3
2302-2 10°05.5'E Fan diatom bearing, H2S
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Fig. 2.8 Porosity logs determined by resistivity measurements on three gravity cores from the South Atlantic (see
also Fig. 2.7 and Table 2.1). Gray curve: Boyce’s (1968) values were used for the constants (a) and (m). Black curve:
(a) and (m) were derived from the slope and intercept of a linear least square fit. These values are given at the top
of each log. Superimposed are porosities determined on discrete samples by weight and volume measurements
(unpublished data from P. Müller, University Bremen, Germany).

the porosity log which agree well with the gamma
ray attenuation densities ((c), gray curve) and
show less scatter.

Though resistivities are only measured half-
automatically including a manual insertion and
removal of the probe, increments of 1 - 2 cm can
be realized within an acceptable time so that more
fine-scale structures can be resolved than by
analysis of discrete samples. However, the real
advantage compared to an automated gamma ray
attenuation logging is that the resistivity measure-
ment system can easily be transported, e.g.

onboard of research vessels or to core reposi-
tories, while the transport of radioactive sources
requires special safety precautions.

2.2.4 Electrical Resistivity
(Inductive Method)

A second, non-destructive technique to determine
porosities by resistivity measurements uses a coil
as sensor. A current flowing through the coil
induces an electric field in the unsplit sediment
core while it is automatically transported through

2.2 Porositiy and Wet Bulk Density
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Fig. 2.9 Model based computation of a wet bulk density log from resistivity measurements on ODP core 690C. (a)
Porosity log derived from formation factors having used Boyce’s (1968) values for (a) and (m) in Archie’s law. (b)
Carbonate content (O’Conell 1990). (c) Wet bulk density log analyzed from gamma ray attenuation measurements
onboard of JOIDES Resolution (gray curve). Superimposed is the wet bulk density log computed from electrical
resistivity measurements on archive halves of the core (black curve) having used the grain density model shown in
(d). Unpublished data from B. Laser and V. Spieß, University Bremen, Germany.
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Fig. 2.10 Impulse response function of a thin metal plate measured by the inductive method with a coil of about 14 cm
diameter. Modified after Gerland et al. (1993).

the centre of the coil (Gerland et al. 1993). This
induced electric field contains information on the
magnetic and electric properties of the sediment.

Generally, the coil characteristic is defined by
the quality value(Q)

( )
( )ω
ωω

R
LQ ⋅= (2.13)

(L(ω)) is the inductance, (R(ω)) the resistance and
(ω) the (angular) frequency of the alternating
current flowing through the coil (Chelkowski
1980). The inductance (L(ω)) depends on the num-
ber of windings, the length and diameter of the
coil and the magnetic permeability of the coil
material. The resistance (R(ω)) is a superposition
of the resistance of the coil material and losses of
the electric field induced in the core. It increases
with decreasing resistivity in the sediment.
Whether the inductance or the resistance is of
major importance depends on the frequency of the
current flowing through the coil. Changes in the
inductance (L(ω)) can mainly be measured if
currents of some kilohertz frequency or less are
used. They simultaneously indicate variations in
the magnetic susceptibility while the resistance
(R(ω)) is insensitive to changes in the resistivity
of the sediment. In contrast, operating with
currents of several megahertz allows to measure
the resistivity of the sediment by changes of the
coil resistance (R(ω)) while variations in the

magnetic susceptibility do not affect the induc-
tance (L(ω)). The examples presented here were
measured with a commercial system (Scintrex CTU 2)
which produces an output voltage that is pro-
portional to the quality value (Q) of the coil at a
frequency of 2.5 MHz, and after calibration is
inversely proportional to the resistivity of the
sediment.

The induced electric field is not confined to
the coil position but extends over some sediment
volume. Hence, measurements of the resistance
(R(ω)) integrate over the resistivity distribution on
both sides of the coil and provide a smoothed,
low-pass filtered resistivity record. The amount of
sediment volume affected by the induction
process increases with larger coil diameters. The
shape of the smoothing function can be measured
from the impulse response of a thin metal plate
glued in an empty plastic core liner. For a coil of
about 14 cm diameter this gaussian-shaped
function has a half-width of 4 cm (Fig. 2.10), so
that the effect of an infinitely small resistivity
anomaly is smeared over a depth range of 10 - 15 cm.
This smoothing effect is equivalent to convo-
lution of a source wavelet with a reflectivity func-
tion in seismic applications and can accordingly
be removed by deconvolution algorithms. How-
ever, only few applications from longcore paleo-
magnetic studies are known up to now (Constable
and Parker 1991; Weeks et al. 1993).

2.2 Porositiy and Wet Bulk Density
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The low-pass filtering effect particularly becomes
obvious if resistivity logs measured by the galvanic
and inductive method are compared. Figure 2.11
displays such an example for a terrigenous core
from the Weddell Sea (PS1635-1) and a biogenic
foraminiferal and diatomaceous core from the
Maud Rise (PS1836-3) in the Antarctic Ocean.
Resistivities differ by maximum 15% (Fig. 2.11a), a
rather high value which mainly results from core
PS1635-1. Here, the downcore logs illustrate that
the inductive methods produces lower resistivities
than the galvanic method (Fig. 2.11b). In detail,
the galvanic resistivity log reveals a lot of pro-
nounced, fine-scale variations which cannot be
resolved by induction measurements but are
smeared along the core depth. For the biogenic
core PS1836-3 this smoothing is not so important
because lithology changes more gradually.

2.3 Permeability

Permeability describes how easy a fluid flows
through a porous medium. Physically it is defined
by Darcy’s law

x
pq

∂
∂

η
κ ⋅= (2.14)

which relates the flow rate (q) to the permeability
(κ) of the pore space, the viscosity (η) of the pore
fluid and the pressure gradient ( ∂ ∂p x/ ) causing
the fluid flow. Simultaneously, permeability
depends on the porosity (φ) and grain size distri-
bution of the sediment, approximated by the mean
grain size (dm). Assuming that fluid flow can be
simulated by an idealized flow through a bunch of
capillaries with uniform radius (dm/2) (Hagen
Poiseuille’s flow) permeabilities can for instance
be estimated from Kozeny-Carman’s equation
(Carman 1956; Schopper 1982)

( )2

32

136 φ
φκ
−

⋅=
k

dm (2.15)

This relation is approximately valid for uncon-
solidated sediments of 30 - 80% porosity (Carman
1956). It is used for both geotechnical applications
to estimate permeabilities of soil (Lambe and
Whitman 1969) and seismic modeling of wave
propagation in water-saturated sediments (Biot
1956a, b; Hovem and Ingram 1979; Hovem 1980;

Ogushwitz 1985). (κ) is a constant which depends
on pore shape and tortuosity. In case of parallel,
cylindrical capillaries it is about 2, for spherical
sediment particles about 5, and in case of high
porosities ≥ 10 (Carman 1956).

However, this is only one approach to estimate
permeabilities from porosities and mean grain
sizes. Other empirical relations exist, particularly
for regions with hydrocarbon exploration (e.g.
Gulf of Mexico, Bryant et al. 1975) or fluid venting
(e.g. Middle Valley, Fisher et al. 1994) which
compute depth-dependent permeabilities from
porosity logs or take the grain size distribution
and clay content into account.

Direct measurements of permeabilities in un-
consolidated marine sediments are difficult, and
only few examples are published. They confine to
measurements on discrete samples with a specially
developed tool (Lovell 1985), to indirect estima-
tions by resistivity measurements (Lovell 1985),
and to consolidation tests on ODP cores using a
modified medical tool (Olsen et al. 1985). These
measurements are necessary to correct for the
elastic rebound (MacKillop et al. 1995) and to
determine intrinsic permeabilities at the end of
each consolidation step (Fisher et al. 1994). In
Section 2.4.2 a numerical modeling and inversion
scheme is described which estimates permeabi-
lities from P-wave attenuation and dispersion
curves (c.f. also section 3.6).

2.4 Acoustic and Elastic Properties

Acoustic and elastic properties are directly con-
cerned with seismic wave propagation in marine
sediments. They encompass P- and S-wave veloci-
ty and attenuation and elastic moduli of the
sediment frame and wet sediment. The most
important parameter which controls size and
resolution of sedimentary structures by seismic
studies is the frequency content of the source
signal. If the dominant frequency and bandwidth
are high, fine-scale structures associated with
pore space and grain size distribution affect the
elastic wave propagation. This is subject of ultra-
sonic transmission measurements on sediment
cores (Sects. 2.4 and 2.5). At lower frequencies
larger scale features like interfaces with different
physical properties above and below and bed-
forms like mud waves, erosion zones and channel
levee systems are the dominant structures imaged
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Fig. 2.11 Comparison of electrical resistivities (galv.) measured with the small hand-held probe and determined by
the inductive method (ind.) for the gravity cores PS1635-1 and PS1836-3. (a) Cross plots of both data sets. The
dashed lines indicate a difference of 15%. (b) Downcore resistivity logs determined by both methods. Modified after
Gerland et al. (1993).

2.4 Acoustic and Elastic Properties



 2 Physical Properties of Marine Sediments

44

by sediment echosounder and multi-channel
seismic surveys (Sect. 2.6).

In this section first Biot’s viscoelastic model is
summarized which simulates high- and low-
frequency wave propagation in water-saturated
sediments by computing phase velocity and
attenuation curves. Subsequently, analysis
techniques are introduced which derive P-wave
velocities and attenuation coefficients from
ultrasonic signals transmitted radially across
sediment cores. Additional physical properties like
S-wave velocity, elastic moduli and permeability
are estimated by an inversion scheme.

2.4.1 Biot-Stoll Model

To describe wave propagation in marine sediments
mathematically, various simple to complex models
have been developed which approximate the
sediment by a dilute suspension (Wood 1946) or
an elastic, water-saturated frame (Gassmann 1951;
Biot 1956a, b). The most common model which
considers the microstructure of the sediment and
simulates frequency-dependent wave propagation
is based on Biot’s theory (Biot 1956a, b). It includes
Wood’s suspension and Gassmann’s elastic frame
model as low-frequency approximations and
combines acoustic and elastic parameters - P- and
S-wave velocity and attenuation and elastic moduli
- with physical and sedimentological parameters
like mean grain size, porosity, density and permea-
bility.

Based on Biot’s fundamental work Stoll (e.g.
1974, 1977, 1989) reformulated the mathematical
background of this theory with a simplified
uniform nomenclature. Here, only the main physi-
cal principles and equations are summarized. For a
detailed description please refer to one of Stoll’s
publications or Biot’s original papers.

The theory starts with a description of the
microstructure by 11 parameters. The sediment
grains are characterized by their grain density (ρg)
and bulk modulus (Kg), the pore fluid by its
density (ρf), bulk modulus (Kf) and viscosity (η).
The porosity (φ) quantifies the amount of pore
space. Its shape and distribution are specified by
the permeability (κ),  a pore size parameter
a=dm/3⋅φ/(1-φ), dm = mean grain size (Hovem and
Ingram 1979; Courtney and Mayer 1993), and
structure factor a’=1-r0(1-φ-1) (0 ≤ r0 ≤ 1) indicating
a tortuosity of the pore space (Berryman 1980).
The elasticity of the sediment frame is considered
by its bulk and shear modulus (Km and µm).

An elastic wave propagating in water-satura-
ted sediments causes different displacements of
the pore fluid and sediment frame due to their
different elastic properties. As a result (global)
fluid motion relative to the frame occurs and can
approximately be described as Poiseuille’s flow.
The flow rate follows Darcy’s law and depends on
the permeability and viscosity of the pore fluid.
Viscous losses due to an interstitial pore water
flow are the dominant damping mechanism. Inter-
granular friction or local fluid flow can additio-
nally be included but are of minor importance in
the frequency range considered here.

Based on generalized Hooke’s law and
Newton’s 2. Axiom two equations of motions are
necessary to quantify the different displacements
of the sediment frame and pore fluid. For P-waves
they are (Stoll 1989)

( ) ( )ζρρ
∂
∂ζ ⋅−⋅=⋅−⋅∇ fe

t
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2
2
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2
2

(2.16b)

Similar equations for S-waves are given by
Stoll (1989). Equation 2.16a describes the motion
of the sediment frame and Equation 2.16b the mo-
tion of the pore fluid relative to the frame.

)(udive
�

= (2.16c)
and

)( Uudiv
�

�

−⋅=φζ (2.16d)

are the dilatations of the frame and between pore
fluid and frame (

�u  = displacement of the frame,
�

U = displacement of the pore fluid). The term
( t∂∂ζκη ⋅ ) specifies the viscous losses due to
global pore fluid flow, and the ratio ( κη ) the vis-
cous flow resistance.

The coefficients (H), (C), and (M) define the elas-
tic properties of the water-saturated model. They are
associated with the bulk and shear moduli of the
sediment grains, pore fluid and sediment frame (Κg),
(Κf), (Κm), (µm) and with the porosity (φ) by

Η = (Κg - Km)2 / (D - Km) + Km + 4/3 · µm       (2.17a)

C = (Kg · (Kg - Km)) / (D - Km)     (2.17b)
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Μ = Κg
2 / (D - Km) (2.17c)

D = Kg · (1 + φ · ( Kg/Kf - 1)) (2.17d)

The apparent mass factor m = a’⋅ρf /φ (a’ ≥ 1) in
Equation 2.16b considers that not all of the pore
fluid moves along the maximum pressure gradient
in case of tortuous, curvilinear capillaries. As a re-
sult the pore fluid seems to be more dense, with
higher inertia. (a’) is called structure factor and is
equal to 1 in case of uniform parallel capillaries.

In the low frequency limit H - 4/3µm (Eq. 2.17a)
represents the bulk modulus computed by Gass-
mann (1951) for a ‘closed system’ with no pore
fluid flow. If the shear modulus (µm) of the frame is
additionally zero, the sediment is approximated by
a dilute suspension and Equation 2.17a reduces to
the reciprocal bulk modulus of Wood’s equation for
‘zero’ acoustic frequency, (K-1 = φ/Kf + (1-φ)/Kg;
Wood 1946).

Additionally, Biot (1956a, b) introduced a
complex correction function (F) which accounts
for a frequency-dependent viscous flow resis-
tance (η/κ). In fact, while the assumption of an
ideal Poiseuille flow is valid for lower frequencies,
deviations of this law occur at higher frequencies.
For short wavelengths the influence of pore fluid
viscosity confines to a thin skin depth close to
the sediment frame, so that the pore fluid seems to
be less viscous. To take these effects into account
the complex function (F) modifies the viscous flow
resistance (η/κ) as a function of pore size, pore
fluid density, viscosity and frequency. A complete
definition of (F) can be found in Stoll (1989).

The equations of motions 2.16 are solved by a
plane wave approach which leads to a 2 x 2
determinant for P-waves

0det
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22

22

22
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and a similar determinant for S-waves (Stoll 1989).
The variable k(ω) = kr(ω) + iki(ω) is the complex
wavenumber. Computations of the complex zeroes
of the determinant result in the phase velocity
c(ω) = ω/kr(ω) and attenuation coefficient α(ω) =
ki(ω) as real and imaginary parts. Generally, the
determinant for P-waves has two and that for S-

waves one zero representing two P- and one S-
wave propagating in the porous medium. The first
P-wave (P-wave of first kind) and the S-wave are
well known from conventional seismic wave
propagation in homogeneous, isotropic media.
The second P-wave (P-wave of second kind) is
similar to a diffusion wave which is exponentially
attenuated and can only be detected by specially
arranged experiments (Plona 1980).

An example of such frequency-dependent phase
velocity and attenuation curves presents Figure 2.12
for P- and S-waves together with the slope (power (n))
of the attenuation curves (α = k ⋅ f n). Three sets of
physical properties representing typical sand, silt
and clay (Table 2.2) were used as model para-
meters. The attenuation coefficients show a signi-
ficant change in their frequency dependence.
They follow an α∼f2 power law for low and an
α∼√f law for high frequencies and indicate a
continuously decreasing power (n) (from 2 to 0.5)
near a characteristic frequency fc = (ηφ)/(2πκρf ).
This characteristic frequency depends on the
microstructure (porosity (φ), permeability (κ)) and
pore fluid (viscosity (η), density (ρf)) of the sedi-
ment and is shifted to higher frequencies if
porosity increases and permeability decreases.
Below the characteristic frequency the sediment
frame and pore fluid moves in phase and coupling
between solid and fluid components is at maxi-
mum. This behaviour is typical for clayey sedi-
ments in which low permeability and viscous
friction prevent any relative movement between
pore fluid and frame up to several MHz, in spite of
their high porosity. With increasing permeability
and decreasing porosity the characteristic
frequency diminishes so that in sandy sediments
movements in phase only occur up to about 1 kHz.
Above the characteristic frequency wavelengths
are short enough to cause relative motions
between pore fluid and frame.

Phase velocities are characterized by a low-
and high-frequency plateau with constant values
and a continuous velocity increase near the cha-
racteristic frequency. This dispersion is difficult to
detect because it is confined to a small frequency
band. Here, dispersion could only be detected
from 1 - 10 kHz in sand, from 50 - 500 kHz in silt
and above 100 MHz in clay. Generally, velocities in
coarse-grained sands are higher than in fine-
grained clays.

S-waves principally exhibit the same attenua-
tion and velocity characteristics as P-waves.
However, at the same frequency attenuation is

2.4 Acoustic and Elastic Properties
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Fig. 2.12 Frequency-dependent attenuation and phase velocity curves and power (n) of the attenuation law α = k ⋅ f n

computed for P-and S-waves in typical sand, silt and clay. The gray-shaded areas indicate frequency bands typical for
ultrasonic measurements on sediment cores (50 - 500 kHz) and sediment echosounder surveys (0.5 - 10 kHz). Modified
after Breitzke (1997).
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Table 2.2 Physical properties of sediment grains, pore fluid and sediment frame used for the computation of
attenuation and phase velocity curves according to Biot-Stoll’s sediment model (Fig. 2.12).

about one magnitude higher, and velocities are
significantly lower than for P-waves. The conse-
quence is that S-waves are very difficult to record
due to their high attenuation, though they are of
great value for identifying fine-scale variations in
the elasticity and microstructure of marine sedi-
ments. This is even valid if the low S-wave veloci-
ties are taken into account and lower frequencies
are used for S-wave measurements than for P-
wave recordings.

The two gray-shaded areas in Figure 2.12 mark
two frequency bands typical for ultrasonic studies
on sediment cores (50 - 500 kHz) and sediment
echosounder surveys (0.5 - 10 kHz). They are
displayed in order to point to one characteristic of
acoustic measurements. Attenuation coefficients
analyzed from ultrasonic measurements on sedi-
ment cores cannot directly be transferred to

sediment echosounder or seismic surveys. Prima-
rily they only reflect the microstructure of the
sediment. Rough estimates of the attenuation in
seismic recordings from ultrasonic core measure-
ments can be derived if ultrasonic attenuation is
modeled, and attenuation coefficients are extrapo-
lated to lower frequencies by such model curves.

2.4.2 Full Waveform Ultrasonic Core
Logging

To measure the P-wave velocity and attenuation
illustrated by Biot-Stoll’s model an automated, PC-
controlled logging system was developed which
records and stores digital ultrasonic P-waveforms
transmitted radially across marine sediment cores
(Breitzke and Spieß 1993). These transmission
measurements can be done at arbitrary small depth

2.4 Acoustic and Elastic Properties

Parameter Sand Silt Clay

Sediment Grains
    Bulk Modulus Κ g [109 Pa] 38 38 38

    Density ρ g [g cm-3] 2.67 2.67 2.67

Pore Fluid

    Bulk Modulus Κ f  [109 Pa] 2.37 2.37 2.37

    Density ρ f  [g cm-3] 1.024 1.024 1.024

    Viscosity η [10-3 Pa⋅s] 1.07 1.07 1.07

Sediment Frame

    Bulk Modulus Κ m [106 Pa] 400 150 20

    Shear Modulus µ m [106 Pa] 240 90 12

    Poisson Ratio σ m 0.25 0.25 0.25

Pore Space

    Porosity φ  [%] 50 60 80

    Mean Grain Size d m [10-6 m] 70 30 2

    Permeability κ [m2] 5.4·10-11 2.3·10-12 7.1·10-15

    Pore Size Parameter a = d m / 3 φ /(1-φ ) [10-6 m] 23 15 2.7

    Ratio κ / a2 0.1 0.01 0.001

    Structure Factor a'  = 1-r 0 (1-φ -1) 1.5 1.3 1.1

    Constant r 0 0.5 0.5 0.5
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increments so that the resulting seismogram sec-
tions can be combined to an ultrasonic image of the
core.

Figure 2.13 displays the most prominent effects
involved in full waveform ultrasonic core logging.
Gravity core GeoB1510-2 from the western
equatorial South Atlantic serves as an example. The
lithology controlled single traces and amplitude
spectra demonstrate the influence of increasing
grain sizes on attenuation and frequency content
of transmission seismograms. Compared to a
reference signal in distilled water, the signal shape
remains almost unchanged in case of wave
propagation in fine-grained clayey sediments (1st
attenuated trace). With an increasing amount of
silty and sandy particles the signal amplitudes are
reduced due to an enhanced attenuation of high-
frequency components (2nd and 3rd attenuated
trace). This attenuation is accompanied by a
change in signal shape, an effect which is
particularly obvious in the normalized wiggle trace
display of the 1 m long core segment. While the
upper part of this segment is composed of fine-
grained nannofossil ooze, a calcareous foramini-
feral turbidite occurs in the lower part. The down-
ward coarsening of the graded bedding causes
successively lower-frequency signals which can
easily be distinguished from the high-frequency
transmission seismograms in the upper fine-grained
part. Additionally, first arrival times are lower in the
coarse-grained turbidite than in fine-grained
nannofossil oozes indicating higher velocities in
silty and sandy sediments than in the clayey part.
A conversion of the normalized wiggle traces to a
gray-shaded pixel graphic allows us to present the
full transmission seismogram information on a
handy scale. In this ultrasonic image of the
sediment core lithological changes appear as
smooth or sharp phase discontinuities resulting
from the low-frequency waveforms in silty and
sandy layers. Some of these layers indicate a
graded bedding by downward prograding phases
(1.60 - 2.10 m, 4.70 - 4.80 m, 7.50 - 7.60 m). The P-
wave velocity and attenuation log analyzed from
the transmission seismograms support the
interpretation. Coarse-grained sandy layers are
characterized by high P-wave velocities and atte-
nuation coefficients while fine-grained parts reveal
low values in both parameters. Especially, atte-
nuation coefficients reflect lithological changes
much more sensitively than P-wave velocities.

While P-wave velocities are determined online
during core logging using a cross-correlation

technique for the first arrival detection (Breitzke
and Spieß 1993)

liner

lineroutside
P tt

dd
v

2
2

−
−

= (2.19)

(doutside= outer core diameter, 2 dliner = double
liner wall thickness, t = detected first arrival,
2t liner = travel time across both liner walls),
attenuation coefficients are analyzed by a post-
processing routine. Several notches in the ampli-
tude spectra of the transmission seismograms
caused by the resonance characteristics of the
ultrasonic transducers required a modification of
standard attenuation analysis techniques (e.g.
Jannsen et al. 1985; Tonn 1989, 1991). Here, a
modification of the spectral ratio method is
applied (Breitzke et al. 1996). It defines a window
of bandwidth (bi = fui - fli) in which the spectral
amplitudes are summed (Fig. 2.14a).
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The resulting value ( A f xmi( , ) ) is related to
that part of the frequency band which predo-
minantly contributes to the spectral sum, i.e. to the
arithmetic mean frequency (fmi) of the spectral
amplitude distribution within the ith band. Sub-
sequently, for a continuously moving window a
series of attenuation coefficients (α(fmi)) is com-
puted from the natural logarithm of the spectral
ratio of the attenuated and reference signal
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Plotted in a log α - log f diagram the power (n)
and logarithmic attenuation factor (log k) can be
determined from the slope and intercept of a linear
least square fit to the series of (fmi,α(fmi)) pairs
(Fig. 2.14b). Finally, a smoothed attenuation
coefficient α(f) = k ⋅ f n is calculated for the
frequency (f) using these values for (k) and (n).

Figure 2.14b shows several attenuation curves
(α(fmi)) analyzed along the turbidite layer of core
GeoB1510-2. With downward-coarsening grain
sizes attenuation coefficients increase. Each linear
regression to one of these curves provide a power
(n) and attenuation factor (k), and thus one value
α = k ⋅ f n on the attenuation log of the complete
core (Fig. 2.14c).

2.4 Acoustic and Elastic Properties
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Fig. 2.14 Attenuation analysis by the smoothed spectral ratio method. (a) Definition of a moving window of
bandwidth bi=fui-fli, in which the spectral amplitudes are summed. (b) Seven attenuation curves analyzed from the
turbidite layer of gravity core GeoB1510-2 and linear regression to the attenuation curve in 1.82 m depth. (c)
Attenuation log of gravity core GeoB1510-2 for 400 kHz frequency. Data from Breitzke et al. (1996).
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Fig. 2.15 (a) Attenuation coefficients (at 400 kHz) of gravity core GeoB1510-2 versus mean grain sizes. The solid
line indicates a second degree polynomial used to predict mean grain sizes from attenuation coefficients. (b)
Comparison of the predicted mean grain size log (gray shaded) with the data measured on discrete samples (solid
dots). Mean grain sizes are given in Φ = -log2 d, d = grain diameter in mm. Modified after Breitzke et al. (1996).

As the P-wave attenuation coefficient
obviously depends on the grain size distribution
of the sediment it can be used as a proxy para-
meter for the mean grain size, i.e. for a sedi-
mentological parameter which is usually only
measured at coarse increments due to the time-
consuming grain size analysis methods. For
instance, this can be of major importance in
current controlled sedimentation environments
where high-resolution grain size logs might
indicate reduced or enhanced current intensities.

If the attenuation coefficients and mean grain
sizes analyzed on discrete samples of core
GeoB1510-2 are displayed as a cross plot a second
order polynomial can be derived from a least
square fit (Fig. 2.15a). This regression curve then
allows to predict mean grain sizes using the
attenuation coefficient as proxy parameter. The
accuracy of the predicted mean grain sizes illus-

trates the core log in Figure 2.15b. The predicted
gray shaded log agrees well with the superim-
posed dots of the measured data.

Similarly, P-wave velocities can also be used as
proxy parameters for a mean grain size prediction.
However, as they cover only a small range (1450 -
1650 m/s) compared to attenuation coefficients (20
- 800 dB/m) they reflect grain size variations less
sensitively.

Generally, it should be kept in mind, that the
regression curve in Figure 2.15 is only an example.
Its applicability is restricted to that range of
attenuation coefficients for which the regression
curve was determined and to similar sedimentation
environments (calcareous foraminiferal and
nannofossil ooze). For other sediment compo-
sitions new regression curves must be determined,
which are again only valid for that specific
sedimentological setting.

2.4 Acoustic and Elastic Properties
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Table 2.3 Geographical coordinates, water depth, core length, region and composition of the sediment cores
considered for the sediment classification in Section 2.5.

Biot-Stoll’s theory allows us to model P-wave
velocities and attenuation coefficients analyzed from
transmission seismograms. As an example Figure 2.16
displays six data sets for the turbidite layer of core
GeoB1510-2. While attenuation coefficients were
analyzed as described above frequency dependent P-
wave velocities were determined from successive
bandpass filtered transmission seismograms (Court-
ney and Mayer 1993; Breitzke 1997). Porosities and
mean grain sizes enter the modeling computations via
the pore size parameter (a) and structure factor (a’).
Physical properties of the pore fluid and sediment
grains are the same as given in Table 2.2. A bulk and
shear modulus of 10 and 6 MPa account for the
elasticity of the frame. As the permeability is the
parameter which is usually unknown but has the
strongest influence on attenuation and velocity
dispersion, model curves were computed for three
constant ratios κ/a2 = 0.030, 0.010 and 0.003 of
permeability (κ) and pore size parameter (a). The
resulting permeabilities are given in each diagram.
These theoretical curves show that the attenuation
and velocity data between 170 and 182 cm depth can
consistently be modeled by an appropriate set of
input parameters. Viscous losses due to a global pore
water flow through the sediment are sufficient to ex-
plain the attenuation in these sediments. Only if the
turbidite base is approached (188 - 210 cm depth) the
attenuation and velocity dispersion data succes-
sively deviate from the model curves probably due
to an increasing amount of coarse-grained fora-
minifera. An additional damping mechanism which

might either be scattering or resonance within the
hollow foraminifera must be considered.

Based on this modeling computations an
inversion scheme was developed which auto-
matically iterates the permeability and minimizes
the difference between measured and modeled
attenuation and velocity data in a least square
sense (Courtney and Mayer 1993; Breitzke 1997).
As a result S-wave velocities and attenuation
coefficients, permeabilities and elastic moduli of
water-saturated sediments can be estimated. They
are strictly only valid if attenuation and velocity
dispersion can be explained by viscous losses. In
coarse-grained parts deviations must be taken
into account for the estimated parameters, too.
Applied to the data of core GeoB1510-2 in 170, 176
and 182 cm depth S-wave velocities of 67, 68 and
74 m/s and permeabilities of 5·10-13, 1·10-12 and
3·10-12 m2 result from this inversion scheme.

2.5 Sediment Classification

Full waveform ultrasonic core logging was applied
to terrigenous and biogenic sediment cores to
analyze P-wave velocities and attenuation coef-
ficients typical for the different settings. Together
with the bulk parameters and the physical proper-
ties estimated by the inversion scheme they form
the data base for a sediment classification which
identifies different sediment types from their

Core Coordinates Water Core Region Sediment
Depth Length Composition

40KL 07°33.1'N 3814 m 8.46 m Bengal terrigenous clay, silt, sand
85°29.7'E Fan

47KL 11°10.9'N 3293 m 10.00 m Bengal terrigenous clay, silt, sand;
88°24.9'E Fan foram. and nannofossil ooze

GeoB 30°27.1'S 3941 m 8.19 m Rio Grande foram. and nannofossil ooze
2821-1 38°48.9'W Rise

PS 46°56.1'S 4102 m 17.65 m Meteor diatomaceous mud/ooze; few
2567-2 06°15.4'E Rise foram. and nannofossil layers
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Fig. 2.16 Comparison of P-wave attenuation and velocity dispersion data derived from ultrasonic transmission seismograms
with theoretical curves based on Biot-Stoll’s model for six traces of the turbidite layer of gravity core GeoB1510-2.
Permeabilities vary in the model curves according to constant ratios κ/a2 = 0.030, 0.010, 0.003 (κ = permeability, a = pore size
parameter). The resulting permeabilities are given in each diagram. Modified after Breitzke et al. (1996).

2.5 Sediment Classification
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acoustic and elastic properties. Table 2.3 summa-
rizes the cores used for this sediment classifica-
tion.

2.5.1 Full Waveform Core Logs as
Acoustic Images

That terrigenous, calcareous and biogenic sili-
ceous sediments differ distinctly in their acoustic
properties is shown by four transmission seismo-
gram sections in Figure 2.17. Terrigenous
sediments from the Bengal Fan (40KL, 47KL) are
composed of upward-fining sequences of turbi-
dites characterized by upward decreasing attenu-
ations and P-wave velocities. Coarse-grained
basal sandy layers can easily be located by low-
frequency waveforms and high P-wave velocities.

Calcareous sediments from the Rio Grande Rise
(GeoB2821-1) in the western South Atlantic also
exhibit high- and low-frequency signals which
scarcely differ in their P-wave velocities. In these
sediments high-frequency signals indicate fine-
grained nannofossil ooze while low-frequency
signals image coarse-grained foraminiferal ooze.

The sediment core from the Meteor Rise
(PS2567-2) in the Antarctic Ocean is composed of
diatomaceous and foraminiferal-nannofossil ooze
deposited during an advance and retreat of the
Polar Frontal Zone in glacial and interglacial
stages. Opal-rich, diatomaceous ooze can be iden-
tified from high-frequency signals while foramini-
feral-nannofossil ooze causes higher attenuation
and low-frequency signals. P-wave velocities
again only show smooth variations.

Acoustic images of the complete core litho-
logies present the colour-encoded graphics of the
transmission seismograms, in comparison to the
lithology derived from visual core inspection  (Fig.
2.18). Instead of normalized transmission seismo-
grams instantaneous frequencies are displayed
here (Taner et al. 1979). They reflect the dominant
frequency of each transmission seismogram as
time-dependent amplitude, and thus directly
indicate the attenuation. Highly attenuated low-
frequency seismograms appear as warm red to
white colours while parts with low attenuation and
high-frequency seismograms are represented by
cool green to black colours.

In these attenuation images the sandy turbi-
dite bases in the terrigenous cores from the
Bengal Fan (40KL, 47KL) can easily be distin-
guished. Graded beddings can also be identified
from slightly prograding phases and continuously

decreasing travel times. In contrast, the transition
to calcareous, pelagic sediments in the upper part
(> 5.6 m) of core 47KL is rather difficult to detect.
Only above 3.2 m depth a slightly increased
attenuation can be observed by slightly warmer
colours at higher transmission times (> 140 µs). In
this part of the core (> 3.2 m) sediments are mainly
composed of coarse-grained foraminiferal ooze,
while farther downcore (3.2 - 5.6 m) fine-grained
nannofossils prevail in the pelagic sediments.

The acoustic image of the calcareous core from
the Rio Grande Rise (GeoB2821-1) shows much
more lithological changes than the visual core
description. Cool colours between 1.5 - 2.5 m
depth indicate unusually fine grain sizes (Breitzke
1997). Alternately yellow/red and blue/black
colours in the lower part of the core (> 6.0 m)
reflect an interlayering of fine-grained nannofossil
and coarse-grained foraminiferal ooze. Dating by
orbital tuning shows that this interlayering coin-
cides with the 41 ky cycle of obliquity (von
Dobeneck and Schmieder 1999) so that fine-
grained oozes dominate during glacial and coarse-
grained oozes during interglacial stages.

The opal-rich diatomaceous sediments in core
PS2567-2 from the Meteor Rise are characterized
by a very low attenuation. Only 2 - 3 calcareous
layers with significantly higher attenuation
(yellow and red colours) can be identified as
prominent lithological changes.

2.5.2 P- and S-Wave Velocity,
Attenuation, Elastic Moduli and
Permeability

As the acoustic properties of water-saturated
sediments are strongly controlled by the amount
and distribution of pore space, cross plots of P-
wave velocity and attenuation coefficient versus
porosity clearly indicate the different bulk and
elastic properties of terrigenous and biogenic
sediments and can thus be used for an acoustic
classification of the lithology. Additional S-wave
velocities (and attenuation coefficients) and
elastic moduli estimated by least-square inversion
specify the amount of bulk and shear moduli
which contribute to the P-wave velocity (Breitzke
2000).

The cross plots of the P-wave parameters of
the four cores considered above illustrate that
terrigenous, calcareous and diatomaceous
sediments can uniquely be identified from their
position in both diagrams (Fig. 2.19). In terri-
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2.6 Sediment Echosounding

genous sediments (40KL, 47KL) P-wave velocities
and attenuation coefficients increase with decrea-
sing porosities. Computed S-wave velocities are
very low (≈ 60 - 65 m s-1) and almost independent
of porosity (Fig. 2.20a) whereas computed S-wave
attenuation coefficients (at 400 kHz) vary strongly
from 4·103 dB m-1 in fine-grained sediments to
1.5·104 dB m-1 in coarse-grained sediments (Fig.
2.20b). Accordingly, shear moduli are also low and
do not vary very much (Fig. 2.21b) so that higher
P-wave velocities in terrigenous sediments mainly
result from higher bulk moduli (Fig. 2.21a).

If calcareous, particularly foraminiferal compo-
nents (FNO) are added to terrigenous sediments
porosities become higher (≈ 70 - 80%, 47KL). P-
wave velocities slightly increase from their mini-
mum of 1475 m s-1 at 70% porosity to 1490 m s-1 at
80% porosity (Fig. 2.19a) mainly due to an increase
in the shear moduli from about 6.5 to 8.5 MPa
whereas bulk moduli remain almost constant at
about 3000 MPa (Fig. 2.21b). However, a much
more pronounced increase can be observed in the
P-wave attenuation coefficients (Fig. 2.19b). For
porosities of about 80% they reach the same
values (about 200 dB m-1) as terrigenous sedi-
ments of about 55% porosity, but can easily be
distinguished because of higher P-wave velocities
in terrigenous sediments. S-wave attenuation
coefficients increase as well in these hemipelagic
sediments from about 1·105 dB m-1 at 65% porosity
to about 2.5·105 dB m-1 at 80% porosity (Fig.
2.20b), and are thus even higher than in
terrigenous sediments.

Calcareous foraminiferal and nannofossil oozes
(NFO) show similar trends in both P-wave and S-
wave parameters as terrigenous sediments, but are
shifted to higher porosities due to their additional
intraporosities (GeoB2821-1; Figs. 2.19, 2.20).

In diatomaceous oozes P- and S-wave wave
velocities increase again though porosities are
very high (>80%, PS2567-2; Figs. 2.19, 2.20). Here,
the diatom shells build a very stiff frame which
causes high shear moduli and S-wave velocities
(Fig. 2.21). It is this increase in the shear moduli
which only accounts for the higher P-wave
velocities while the bulk moduli remain almost
constant and are close to the bulk modulus of sea
water (Fig. 2.21). P-wave attenuation coefficients
are very low in these high-porosity sediments
(Fig. 2.19b) whereas S-wave attenuation coeffici-
ents are highest (Fig. 2.20b).

Permeabilities estimated from the least square
inversion mainly reflect the attenuation charac-

teristics of the different sediment types (Fig. 2.22).
They reach lowest values of about 5·10-14 m2 in
fine-grained clayey mud and nannofossil ooze.
Highest values of about 5·10-11 m2 occur in diato-
maceous ooze due to their high porosities.
Nevertheless, it should be kept in mind that these
permeabilities are only estimates based on the
input parameters and assumptions incorporated in
Biot-Stoll’s model. For instance one of these
assumptions is that only mean grain sizes are
used, but the influence of grain size distributions
is neglected. Additionally, the total porosity is
usually used as input parameter for the inversion
scheme without differentiation between inter- and
intraporosities. Comparisons of these estimated
permeabilities with direct measurements unfortu-
nately do not exist up to know.

2.6 Sediment Echosounding

While ultrasonic measurements are used to study
the structure and composition of sediment cores,
sediment echosounders are hull-mounted acoustic
systems which image the upper 10-200 m of sediment
coverage by remote sensing surveys. They operate
with frequencies around 3.5-4.0 kHz. The examples
presented here were digitally recorded with the
narrow-beam Parasound echosounder and
ParaDIGMA recording system (Spieß 1993).

2.6.1 Synthetic Seismograms

Figure 2.23 displays a Parasound seismogram
section recorded across an inactive channel of the
Bengal Fan. The sediments of the terrace were
sampled by a 10 m long piston core (47KL). Its
acoustic and bulk properties can either be directly
compared to the echosounder recordings or by
computations of synthetic seismograms. Such
modeling requires P-wave velocity and wet bulk
density logs as input parameters. From the
product of both parameters acoustic impedances I
= vP·ρ are calculated. Changes in the acoustic
impedance cause reflections of the normally
incident acoustic waves. The amplitude of such
reflections is determined by the normal incidence
reflection coefficient R = (I2-I1 ) / (I2+I1 ), with (I1)
and (I2) being the impedances above and below
the interface. From the series of reflection
coefficients the reflectivity can be computed as
impulse response function, including all internal
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Fig. 2.19 (a) P-wave velocities and (b) attenuation coefficients (at 400 kHz) versus porosities for the four
sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2. NFO is nannofossil foraminiferal ooze, FNO is
foraminiferal nannofossil ooze (nomenclature after Mazullo et al. (1988)). Modified after Breitzke (2000).
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Fig. 2.20 (a) S-wave velocities and (b) attenuation coefficients (at 400 kHz) derived from least square inversion
based on Biot-Stoll’s theory versus porosities for the four sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2.
NFO and FNO as in Figure 2.19. Modified after Breitzke (2000).

2.6 Sediment Echosounding
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Fig. 2.21 (a) S-wave velocity versus P-wave velocity and (b) shear modulus versus bulk modulus derived from least
square inversion based on Biot-Stoll’s theory for the four sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2.
The dotted line indicates an asymptote parallel to the shear modulus axis which crosses the value for the bulk
modulus of seawater Kf = 2370 MPa on the bulk modulus axis. NFO and FNO as in Figure 2.19. Modified after
Breitzke (2000).
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Fig. 2.22 Permeabilities derived from least square inversion based on Biot-Stoll’s theory versus porosities for the
four sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2. The regular spacing of the permeability values is due
to the increment (10 permeability values per decade) used for the optimization process in the inversion scheme.
NFO and FNO as in Figure 2.19. Modified after Breitzke (2000).

multiples. Convolution with a source wavelet
finally provides the synthetic seismogram. In
practice, different time- and frequency domain
methods exist for synthetic seismogram compu-
tations. For an overview, please refer to books an
theoretical seismology (e.g. Aki and Richards,
2002). Here, we used a time domain method called
‘state space approach’ (Mendel et al. 1979).

Figure 2.24 compares the synthetic seismogram
computed for core 47KL with the Parasound
seismograms recorded at the coring site. The P-
wave velocity and wet bulk density logs used as
input parameters are displayed on the right-hand
side, together with the attenuation coefficient log
as grain size indicator, the carbonate content and
an oxygen isotope (δ18O-) stratigraphy. An
enlarged part of the gray shaded Parasound
seismogram section is shown on the left-hand
side. The comparison of synthetic and Parasound
data indicates some core deformations. If the
synthetic seismograms are leveled to the pro-
minent reflection caused by the Toba Ash in 1.6 m
depth about 95 cm sediment are missing in the
overlying younger part of the core. Deeper reflec-

tions, particularly caused by the series of turbi-
dites below 6 m depth, can easily be correlated
between synthetic and Parasound seismograms,
though single turbidite layers cannot be resolved
due to their short spacing. Slight core stretching
or shortening are obvious in this lower part of the
core, too.

From the comparison of the gray shaded
Parasound seismogram section and the wiggle
traces on the left-hand side with the synthetic
seismogram, core logs and stratigraphy on the
right-hand side the following interpretation can be
derived. The first prominent reflection below sea
floor is caused by the Toba Ash layer deposited
after the explosion of volcano Toba (Sumatra)
75,000 years ago. The underlying series of reflec-
tion horizons (about 4 m thickness) result from an
interlayering of very fine-grained thin terrigenous
turbidites and pelagic sediments. They are
younger than about 240,000 years (oxygen isotope
stage 7). At that time the channel was already
inactive. The following transparent zone between
4.5 - 6.0 m depth indicates the transition to the
time when the channel was active, more than

2.6 Sediment Echosounding
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300,000 years ago. Only terrigenous turbidites
causing strong reflections below 6 m depth were
deposited.

Transferred to the Parasound seismogram sec-
tion in Figure 2.23 this interpretation means that
the first prominent reflection horizon in the levees
can also be attributed to the Toba Ash layer (75 ka).
The following transparent zone indicates completely
pelagic sediments deposited on the levees during
the inactive time of the channel (< 240 ka). The
suspension cloud was probably trapped between
the channel walls so that only very thin, fine-
grained terrigenous turbidites were deposited on
the terrace but did not reach the levee crests. The
high reflectivity part below the transparent zone in
the levees is probably caused by terrigenous
turbidites deposited here more than 300,000 years
ago during the active time of the channel.

2.6.2 Narrow-Beam Parasound
Echosounder Recordings

Finally, some examples of Parasound echosounder
recordings from different terrigenous and biogenic
provinces are presented to illustrate that charac-
teristic sediment compositions can already be
recognized from such remote sensing surveys
prior to the sediment core retrieval.

The first example was recorded on the Rio
Grande Rise in the western South Atlantic during
RV Meteor cruise M29/2 (Bleil et al. 1994) and is
typical for a calcareous environment (Fig. 2.25a).
It is characterized by a strong sea bottom reflector
caused by coarse-grained foraminiferal sands.
Signal penetration is low and reaches only about
20 m.

In contrast, the second example from the
Conrad Rise in the Antarctic Ocean, recorded
during RV Polarstern cruise ANT XI/4 (Kuhn, pers.
communication), displays a typical biogenic
siliceous environment (Fig. 2.25b). The diatoma-
ceous sediment coverage seems to be very
transparent, and the Parasound signal penetrates
to about 160 m depth. Reflection horizons are
caused by calcareous foraminiferal and nanno-
fossil layers deposited during a retreat of the
Polar Frontal Zone during interglacial stages.

The third example recorded in the Weddell Sea/
Antarctic Ocean during RV Polarstern cruise ANT
XI/4 as well (Kuhn, pers. communication) indi-
cates a deep sea environment with clay sediments
(Fig. 2.25c). Signal penetration again is high
(about 140 m), and reflection horizons are very

sharp and distinct. Zones with upward curved
reflection horizons might possibly be indicators
for pore fluid migrations.

The fourth example from the distal Bengal
Fan (Hübscher et al. 1997) was recorded during
RV Sonne cruise SO125 and displays terrigenous
features and sediments (Fig. 2.25d). Active and
older abandoned channel levee systems are cha-
racterized by a diffuse reflection pattern which
indicates sediments of coarse-grained turbidites.
Signal penetration in such environments is rather
low and reaches about 30 - 40 m.
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Appendix

A: Physical Properties of Sediment
Grains and Sea Water

The density (ρg) and bulk modulus (Kg) of the
sediment grains are the most important physical
properties which characterize the sediment type -
terrigenous, calcareous and siliceous - and
composition. Additionally, they are required as
input parameters for wave propagation modeling,
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Fig. 2.25 a, b Parasound seismogram sections representing typical calcareous (Rio Grande Rise) and opal-rich
diatomaceous (Conrad Rise) environments. Lengths and heights of both profiles amount to 50 km and 300 m,
respectively. Vertical exaggeration (VE) is 111. The Parasound seismogram section from the Conrad Rise was kindly
provided by G. Kuhn, Alfred-Wegener-Institute for Polar- and Marine Research, Bremerhaven, Germany and is an
unpublished data set recorded during RV Polarstern cruise ANT IX/4. Modified after Breitzke (1997).
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Fig. 2.25 c, d Parasound Seismogram sections representing typical deep sea clay (Weddell Sea) and terrigenous
sediments (Bengal Fan). Lengths and heights of both profiles amount to 50 km and 300 m, respectively. Vertical
exaggeration (VE) is 111. The Parasound seismogram section from the Weddell Sea was kindly provided by G. Kuhn,
Alfred-Wegener-Institute for Polar- and Marine Research, Bremerhaven, Germany and is an unpublished data set
recorded during RV Polarstern cruise ANT IX/4. Modified after Breitzke (1997).
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Table 2A-1 Physical properties of sediment forming minerals, at laboratory conditions (20°C temperature, 1 at
pressure). After 1Wohlenberg (1982) and 2Gebrande (1982).

Table 2A-2 Physical properties of sea water, at laboratory conditions (20°C temperature, 1 at pressure, 35 ‰
salinity). After 1Wille (1986) and 2Siedler and Peters (1986).

e.g. with Biot-Stoll’s sediment model (Sect. 2.4.1).
Table 2A-1 provides an overview on densities and
bulk moduli of some typical sediment forming
minerals.

Density (ρf), bulk modulus (Kf), viscosity (η),
sound velocity (vP), sound attenuation coefficient
(α) and electrical resistivity (Rf) of sea water
depend on salinity, temperature and pressure.
Table 2A-2 summarizes their values at laboratory

conditions, i.e. 20°C temperature, 1 at pressure
and 35‰ salinity.

B: Corrections to Laboratory and In
Situ Conditions

Measurements of physical properties are usually
carried out under laboratory conditions, i.e. room
temperature (20°C) and atmospheric pressure (1 at).

Mineral Density1 ρg [g cm-3] Bulk Modulus2 Κg [109 Pa]

terrigenous sediments
     quartz 2.649 - 2.697 37.6 - 38.1 (trigonal)
     biotite 2.692 - 3.160 42.0 - 60.0
     muscovite 2.770 - 2.880 43.0 - 62.0
     hornblende 3.000 - 3.500 84.0 - 90.0

calcareous sediments
     calcite 2.699 - 2.882 70.0 - 76.0

siliceous sediments
     opal 2.060 - 2.300 no data

Appendix

Parameter Value

sound velocity1 vP [m s-1] 1521 m s-1

sound attenuation coefficient1 α [10-3 dB m-1]
            4 kHz ∼0.25

            10 kHz ∼0.80

            100 kHz ∼  40

            400 kHz ∼ 120

            1000 kHz ∼ 300

density2 ρf  [g/cm-3] 1.024

bulk modulus2 Κf  [109 Pa] 2.37

viscosity2 η [10-3 Pa⋅s] 1.07

electrical resistivity2 Rf  [Ω⋅m] 0.21
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In order to correct for slight temperature varia-
tions in the laboratory and to transfer laboratory
measurements to in situ conditions, usually
temperature and in situ corrections are applied.
Temperature variations mainly affect the pore
fluid. Corrections to in situ conditions should
consider both the influence of reduced tempe-
rature and increased hydrostatic pressure at the
sea floor.

Porosity and Wet Bulk Density

In standard sea water of 35‰ salinity density
increases by maximum 0.3·10-3 g cm-3 per °C
(Siedler and Peters 1986), i.e. by less than 0.1%
per °C. Hence, temperature corrections can usu-
ally be neglected.

Differences between laboratory and in-situ
porosities are less than 0.001% (Hamilton 1971)
and can thus be disregarded, too. Sea floor wet
bulk densities are slightly higher than the cor-
responding laboratory values due to the hydro-
static pressure and the resulting higher density of
the pore water. For Central Pacific sediments of
75 - 85% porosity Hamilton (1971) estimated a
density increase of maximum 0.01 g cm-3 for water
depths between about 500 - 3000 m and of
maximum 0.02 g cm-3 for water depths between
about 3000 - 6000 m. Thus, corrections to sea floor
conditions are usually of minor importance, too.
However, for cores of several hundred meter length
the effect of an increasing lithostatic pressure has
to be taken into account.

Electrical Resistivity

If porosities and wet bulk densities are determined
by galvanic resistivity measurements (Sect. 2.2.3)
varying sediment temperatures are considered by
computation of the formation factor (F) (see Eq.
2.12). While the resistivity (Rs) of the sediment is
determined by the small hand-held probe (cf. Sect.
2.2.3) the resistivity (Rf) of the pore fluid is deri-
ved from a calibration curve which describes the
temperature (T) - conductivity (c) relation by a
fourth power law (Siedler and Peters 1986)

4
4

3
3

2
21

1 TcTcTcTccR of ++++=− (2.22)

The coefficients (c0) to (c4) depend on the
geometry of the probe and are determined by a
least square fit to the calibration measurements in
standard sea water.

P-wave velocity and attenuation

Bell and Shirley (1980) demonstrated that the P-
wave velocity of marine sediments increases
almost linearly by about 3 m s-1 per °C while the
attenuation is independent of sediment tempe-
rature, similar to the temperature dependence of
sound velocity and attenuation in sea water.
Hence, to correct laboratory P-wave velocity mea-
surements to a reference temperature of 20°C
Schultheiss and McPhail’s (1989) equation

( )Tvv T −⋅+= 20320 (2.23)

can be applied, with (v20) = P-wave velocity at
20°C (in m s-1), (T) = sediment temperature (in °C)
and (vT) = P-wave velocity measured at tempera-
ture (T) (in m s-1).

To correct laboratory P-wave velocity measu-
rements to in situ conditions a modified time-ave-
rage equation (Wyllie et al. 1956) can be used
(Shipboard Scientific Party 1995)

⎟

⎟

⎠

⎞

⎜

⎜

⎝

⎛

−⋅+=
labsituinlabsituin ccvv
1111 φ (2.24)

(vlab) and (vin-situ) are the measured laboratory
(20°C, 1 at) and the corrected in situ P-wave
velocities, (clab) and (cin-situ) the sound velocity in
sea water at laboratory and in situ conditions and
(φ) the porosity. If laboratory and sea floor
pressure, temperature and salinity are known from
tables or CTD measurements (clab) and (cin-situ) can
be computed according to Wilson’s (1960)
equation

STPPT ccccc
S

++++= 14.1449 (2.25)

(cT), (cP), (cS) are higher order polynomials which
describe the influence of temperature (T), pressure
(P) and salinity (S) on sound velocity. (cSTP)
depends on all three parameters. Complete
expressions for (cT), (cP), (cS), (cSTP) can be found
in Wilson (1960). For T = 20°C, P = 1 at and S =
0.035 Wilson’s equation results in a sound veloci-
ty of 1521 m s-1.
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2.7 Problems

Problem 1

What is the difference between bulk parameters
and acoustic/elastic parameters concerning the
distribution of pore fluid and sediment grains ?

Problem 2

Which direct and which indirect methods do you
know to determine the porosity and wet bulk
density of marine sediment, which of both para-
meters is primarily determined by each method,
and how can porosity values be converted to
density values and vice versa ?

Problem 3

Assume that you have recovered a sediment core
in the Antarctic Ocean close to the Polar Frontal
Zone. The core is composed of an interlayering of
calcareous and siliceous sediments. You would
like to determine the downcore porosity and wet
bulk density logs by electrical resitivity measu-
rements. What do you have to consider during
conversion of porosities to wet bulk densities ?

Problem 4

Which sediment property mainly influences the
ultrasonic acoustic wave propagation (50 - 500 kHz),
and how affects it the P-wave velocity and
attenuation in terrigenous and calcareous sedi-
ments ?

Problem 5

Which parameter determines the amplitude or
strength of reflection horizons during sediment
echosounding, and which are the two physical
properties that contribute to it ?
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3 Quantification of Early Diagenesis:
Dissolved Constituents in Pore Water and
Signals in the Solid Phase
HORST D. SCHULZ

A chapter on the pore water of sediments and the
processes of early diagenesis, reflected by the
concentration profiles therein, can certainly be
structured in different ways. One possibility is,
for example, to start with the sample-taking
strategies, followed by the analytical treatment of
the samples, then a model presentation to sub-
stantiate the processes, and finally a quantitative
evaluation of the measured profiles with regard to
material fluxes and reaction rates. The reader who
would prefer this sequence is recommended to
begin with the Sections 3.3, 3.4, 3.5 and to
consult the Sections 3.1 and 3.2 later. However, in
our opinion, marine geochemistry departed from
its initial development stage of sample collection
and anlysis some years ago. This book is
therefore written with a different structure from
earlier texts. The well understood theoretical
knowledge on concentration profiles has to be
introduced from the beginning. Only then do
problems arise which necessitate the investi-
gation of particular substances in pore water and
the application of specific methods of sampling
and analysis.

Particularly, two fundamental approaches are
conceivable for investigating diagenesis proces-
ses, both having their advantages and disadvan-
tages. The classical way leads to a sedimento-
logical, mineralogical, and in the broadest sense
geochemical examination of the solid phase. The
advantage of this approach is that sample
withdrawal and analytical procedures are gene-
rally easier to carry out and produce more reliable
results. On the other hand, in most cases this
approach will not provide us with any information
on the timing at which specific diagenetical
alterations in the sediment took place. Nothing
will be learnt about reaction rates, reaction kine-
tics, and mostly we do not even know whether
the processes, interpreted on account of certain

measurements and/or observations, occur today
or whether they were terminated some time
before. Furthermore, the distinction between the
primary signals from the water column and the
results of diagenetic reactions, often remains
unclear.

A section dealing with the concentrations of
elements in the solid phase of the sediment
should not be missing despite the mentioned
disadvantages and problems that come along
with a geochemical description of a sediment/
pore water system. Section 3.7 therefore contains
a brief presentation of the various sample-
processing methods and analyses, next to some
examples of measured element profiles. One of the
greatest problems encountered in interpreting ele-
ment concentrations in the sediment’s solid
phase will always be one’s ability to distinguish
between a primary signal from the water column,
i.e. from the introduction into the sediment, and
the diagenetic alteration of the material.

If the processes of diagenesis and their time-
dependency are to be recorded directly, then a
second approach appears to be more reasonable;
one that includes the measurement of concen-
tration profiles in pore water. Figure 3.1 shows
various concentration profiles of substances
dissolved in the pore water of sediments taken at
a depth of approximately 4000 m, off the estuary
of the River Congo. The differently shaped
curves shown here directly reflect the reactions
that are happening today. The investigation of
pore water thus constitutes the only way to
determine the reaction rates and the fluxes of
material which they produce. Yet, this procedure
is rather laborious and unfortunately contains
numerous opportunities for errors. Most errors
are caused as soon as the sediment sample is
taken, others are caused upon preparing the pore
water from the sediment, or in the course of
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analyzing low concentrations obtained from small
sample amounts. Actually, one would prefer to
gain all results by in situ measurements at the
bottom of the ocean, which is feasible, however,
only in very few exceptional cases.

3.1 Introduction:
How to Read Pore Water
Concentration Profiles

The processes of early diagenesis - irrespective
of whether we are dealing with microbiological
redox-reactions or predominantly abiotic reac-
tions of dissolution and precipitation - are
invariably reflected in the pore water of sedi-
ments. The aquatic phase of the sediments is the
site where the reactions occur, and where they
become visible as time-dependent or spatial
distributions of concentrations. Thus, if the early
diagenesis processes are to be examined and
quantified in the young marine sediment, the
foremost step will always consist of measuring
the concentration profiles in the pore water
fraction.

For reasons of simplification and enabling an
easy understanding of the matter, only three
fundamental processes will be considered in this
section, along with their manifestation in the pore
water concentration profiles:

•     Consumption of a reactant in pore water (e.g.
consumption of oxygen in the course of
oxidizing organic material)

•    Release of a substance from the solid phase
into the pore water fraction (e.g. release of
silica due to the dissolution of opal).

•    Diffusion transport of dissolved substances in
pore water and across the sediment/ bottom
water boundary.

Figure 3.2 shows schematic diagrams of some
possible concentration profiles occurring in ma-

rine pore water. Here, the profile shown in Figure
3.2a is quite easy to understand. In the event of a
substance that is not subject to any early dia-
genetic process, the pore water as the formation
water contains exactly the same concentration as
the supernatant ocean water. If the concentration
in the ocean floor water changes, this change will

3.1 Introduction: How to Read Pore Water Concentration Profiles

Fig. 3.1 Concentration profiles in the pore water frac-
tions of sediments obtained off the estuary of the River
Congo, at a depth of approximately 4000 m. The sedi-
ments contain a relatively high amount of TOC. Values
ranging from 1 to 3.5 wt. % indicate that this sediment is
characterized by the high reaction rates of various early
diagenesis processes. These processes are reflected by dif-
fusion fluxes over gradients and by reaction rates deter-
mined by gradient changes (after Schulz et al. 1994).

Fig. 3.2 Principal concentration profile shapes as in
measured pore water:
a: Profile of a non-reacting substance (e.g. chloride);
b: profile of a substance that is depleted in the upper
layers of the sediment (e.g. oxygen); c: profile of a sub-
stance that is consumed in a particular reactive layer;
d: profile of a substance that is released into pore water
in the upper layers of the sediment (e.g. silica); e: pro-
file of a substance that is released into the pore water in
specific reactive layers; f: profile of a substance that is
released into pore water in one discrete depth (reactive
layer 2), and, in two other depths (reactive layers 1 and
3) is removed from the pore water by consumption (e.g.
manganese).
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be reproduced in the pore water fraction on
account of diffusion processes. After a definite
time of non-stationary conditions, which de-
pends on the depth of the profile under study
and the required accuracy of the measurement,
the concentration of the ocean floor water pre-
vails again, stationary and constant within the
entire profile. The details and the problems con-
cerning stationary and non-stationary condi-
tions in pore water will be thoroughly discussed
in Section 3.2.

Figure 3.2b shows the concentration profile of
a substance which is consumed by early diage-
netic reactions in the upper layers of the sedi-
ment. For example, the profiles of dissolved oxy-
gen often look like this (cf. Chap. 6). Assuming
steady-state conditions (cf. Sect. 3.2), the
concentration gradient near the sediment surface
will display its highest increases, because what-
ever is consumed in the deeper layers will arrive
there by means of diffusion. With increasing
depths the concentration gradient and the diffu-
sive material transport will decline, until, at a
particular depth, concentration, gradient, and
diffusion simultaneously approach zero. This
sediment depth, referred to as the penetration
depth of a substance, often represents a steady-
state condition composed of the diffusive
reinforcement from above and the depletion of
the substance in the sediment by the reactions of
early diagenesis.

In principle, the situation depicted in Figure
3.2c is quite the same. Here, the process is just
limited to one reactive layer. With an example of
oxygen as the dissolved substance, this could
be a layer containing easily degradable organic
matter,  or the sedimentary depth in which
oxygen encounters and reacts with a reductive
solute species coming from below (e.g. Mn2+ or
Fe2+). At any rate, the space above the reactive
layer is characterized by a constant gradient in
the concentration profile and thus by a dif-
fusive transport which is everywhere the same.
Within the reactive layer the dissolved sub-
stance is brought to zero concentration by
depletion.

The reverse case, which is in principle quite
similar, is demonstrated in Figure 3.2d and e.
Here, a substance is released anywhere into the
layers near the sediment surface (Fig. 3.2d),
whereas it might be released into the pore water
only in one particular layer (Fig. 3.2e). The solute
could be, for example, silica that often displays

such concentration profiles on account of the
dissolution of sedimentary opal.

The concentration profile shown in Figure
3.2f is much more complex than the others in
Figure 3.2 and only comprehensible if the
interactions of several processes taking place at
various depths below the sediment surface are
regarded. Such a profile is characteristic, for
example, of the concentrations of divalent man-
ganese in marine pore water (see also Figure 3.1,
Figure 3.8, and Chapter 11). Manganese oxide
functions as an electron acceptor and reacts
with organic matter in reactive layer 2, where-
upon chemically reduced divalent manganese
dissolves. A small percentage diffuses down-
wards (flat gradient) and precipitates as manga-
nese carbonate or manganese sulfide in reactive
layer 3. The major proportion diffuses upwards
(much steeper gradient), encounters dissolved
oxygen from the sediment surface once again in
reactive layer 1, is reoxidized and precipitates
back to manganese oxide.

The described relations can be summarized by
stating a few rules for reading and understanding
of pore water concentration profiles:

•    Diffusive material fluxes always occur in the
form of concentration gradients; concen-
tration gradients always represent diffusive
material fluxes.

•   Reactions occurring in pore water in most
cases constitute changes in the concen-
tration gradient; changes in the concen-
tration gradient always represent reactions
occurring in pore water.

•   A concave-shaped alteration in the concen-
tration gradient profile (cf. Fig. 3.2b, c)
signifies the depletion of a substance from
pore water; conversely, a convex-shaped
concentration gradient profile (cf. Fig. 3.2d,
e) always depicts the release of a substance
into the pore water.

However, the following also needs to be
observed:

•   If a substance is involved in two reactions
taking place at the same depth, and is
released into the pore water fraction by one
reaction and then withdrawn again by the
other, neither of the participating reactions
will become evident in the pore-water
concentration profile.
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In the following Section 3.2, the laws of
diffusion and the particularities of their
application to sediment pore waters will be
treated in more detail. In this context, the problem
of steady state and non-steady state situations
will have to be covered, since the simple examples
described above have anticipated steady state
situations. Moreover, as a further simplification,
the examples of this section have by necessity
neglected advection, bioirrigation, and bioturba-
tion. These processes will be discussed in detail
in Section 3.6. Section 3.7 will then cover the in-
vestigations of the sediment’s solid phase and
thereby disclose the result of one or the other
process of early diagenesis.

3.2 Calculation of Diffusive
Fluxes and Diagenetic
Reaction Rates

3.2.1 Steady State and
Non-Steady State Situations

In the preceding section and especially in all the
following chapters, one pair of terms will assume
extraordinary importance for describing and
understanding biogeochemical processes: the
steady state and non-steady state situation.

Let us first consider the steady state situation
as its description is more straight forward in a
model concept. In Figure 3.2c a concentration
profile is shown in which a substance is con-
tinually consumed at a specific rate of reaction and
within a reactive layer. At the same time, a constant
concentration is prevalent in the bottom water
above the sediment surface, an infinite reservoir as
compared to the consumption in the sediment. It
follows therefore that a constant concentration
gradient exists between the sediment surface and
the reactive layer, and thus everywhere the same
diffusive flux. Such a concentration gradient is
referred to as being in steady state. It remains in
this condition as long as its determining factors -
turn-over rates in the reactive layer, concentration
at the sea-floor, dimension and properties of the
space between the reactive layer and sediment
surface - are not changed.

Any change of the conditions that is liable to
exert any kind of influence on the concentration
profile, terminates the steady state situation. A
non-steady state emerges, which is a time-depen-
dent situation occurring in the pore water. If the
system remains unperturbed in the changed
situation for a sufficient length of time, a new
steady state situation can become established,
different from the first and reflecting the novel
configuration of conditions.

Strictly speaking, there are no real steady-
state situations in nature. Even the sun had
begun to shine at a certain time, the earth and,
upon her, the oceans have come into existence at
a certain time, and all things must pass sooner or
later. Hence, the term referring to the steady-state
condition also depends on the particular stretch
of time which is under study, as well as on the
dimension of the system, and, not least, on the
accuracy of the measurements with which we
examine the parameters that describe the system.

Fig. 3.3 Calculated non-steady state concentration pro-
files in pore water of a young sediment. It was assumed
that the concentration of ‘1’ has been previously
constant in the pore water of the sediment as well as in
the supernatant bottom water for a long period of time,
so that a steady state situation was prevalent. Then the
concentration of bottom water changed shortly to ‘9’.
The concentration profiles a to e are non-steady states
after 2 and up to 48 hours. The calculation of such non-
steady state concentration profiles can be performed , for
example, with the aid of the model program CoTAM
(Hamer and Sieger 1994) or CoTReM (cf. Chap. 15).

3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates
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A given concentration in the pore water of a
pelagic sediment, several meters below the
sediment surface, can be measured today, next
month, next year, and after 10 years. Within the
margins of reasonable analytical precision, we will
always measure just about the same value and
rightfully declare the situation to be steady-state
(That there are also exceptions to the rule may be
concluded from the Examples 2 and 3 described in
Section 15.3.2). At the same time, pore water
concentrations in sedimentary surface areas near
the same pelagic sediment could be subject to
considerable seasonal variation (such as residual
deposits of algal bloom periods) and thus be
classified as being in a non-steady state.

A calculated example for pore water concen-
trations in a non-steady state condition is shown
in Figure 3.3. Details concerning the calculation
procedure will not be discussed here. The con-
ceptual model employed will be described in
Section 3.2.4, a suitable computer model is
described in Chapter 15. A typical diffusion
coefficient characteristic of young marine
sediments and a characteristic porosity coeffi-
cient were used in the calculation.

In the calculated example shown in Figure 3.3
the assumption was made that a constant concen-
tration of ‘1’ has been prevalent for a long time in
the pore water of the young sediment and in the
bottom water above it. Then, the bottom water
underwent a momentary change to yield a con-
centration of ‘9’. By means of diffusion, the new
concentration gradually spreads into the pore
water. After 2 hours it reaches a depth of less
than 1 cm, after 48 hours, respectively, a depth of
about 3 to 4 cm below the sediment surface. If the
concentration of ‘9’ remains constant long
enough in the bottom water above the sediment,
this concentration will theoretically penetrate into
an infinitely great depth. To what extent, and into
what depths of pore water, these concentrations
are to be assigned to steady state or non-steady
states can only be determined in each particular
case, having its own concentration in the bottom
water over a given period of time. At any rate, the
allocation of one or the other state can only be
done separately for each system, each parameter,
and each time interval. Calculations as shown in
Figure 3.3 are likely to produce valuable prelimi-
nary concepts, for evaluating real measured pore
water profiles.

In the next example, the influence of seasonal
variation in the bottom water lying above the

sediment will be examined, as well as the resulting
non-steady states in the pore water fraction. To
this end, the following boundary conditions are
selected: A substance concentration of ‘1’ is sup-
posed to be prevalent in the bottom water over
one half year, afterwards the concentration chan-
ges to ‘10’ for one half year, then it changes back
to a value of ‘1’, and so on, continually changing.
Figure 3.4 shows the result of such an oscillatory
situation after several years. The curve denoted
‘a’ demonstrates the situation in which the
bottom water concentration was ‘1’ after half a
year; the curve denoted ‘b’ reflects the situation
in which the bottom water concentration was ‘10’
after half a year. It is evident that essential effects
of such changes can only be observed down to a
depth of less than 0.2 m below the sediment
surface. In this model calculation, the effects of

Fig. 3.4 Calculated non-steady state concentration pro-
files in the pore water of a young sediment. The calcu-
lation assumes that concentrations of ‘1’ and ‘10’ were
prevailing alternately in the bottom water over the sedi-
ment, each over a period of half a year. After several
years, the curve a. reflects the situation of concen-
tration ‘1’ at the end of one half year, whereas curve b.
reflects the situation of concentration ‘10’ at the end of
one half year. The calculation of such non-steady state
concentration profiles can be performed, for example,
with the aid of the model programs EXPLICIT or
CoTReM (cf. Chapter 15).



79

the preceding half year still remain visible in a
depth between about 0.22 m and 0.35 m below the
sediment surface. Below a depth of 0.4 m no
further non-steady states can be seen, a constant
and steady-state mean concentration of ‘5.5’
prevails.

The conditions proposed in Figure 3.4
describe a very extreme situation. On the one
hand, the half-yearly alternating concentrations
differ by a whole order of magnitude, on the other
hand, no transitory periods with intermediate
concentrations were anticipated. Seasonal vari-
ations in nature usually display smaller concen-
tration differences and are also likely to possess
transitory intermediate concentrations. Both
diminish the effects of non-steady state formation
in sedimentary depths as were shown in the
example of Figure 3.4.

Figure 3.4 also demonstrates clearly the
effects of the analytical precision on differen-
tiating steady state and non-steady states in pore
water. In the theoretical calculation shown in
Figure 3.4, the difference between both curves is
still visible in form of a non-steady state at a
depth between 0.22 and 0.4 m. However, if the
possible errors are taken into consideration that
occur during sampling and in the analytic treat-
ment of pore water samples (Sects. 3.3 - 3.5), then
there is likely to be no current parameter with
which these differences could be discovered
practically. Below a depth of 0.2 m, one would
always measure the same concentration and
consequently judge the situation as stationary, or
as a steady state.

3.2.2 The Steady State Situation
and Fick’s First Law of Diffusion

According to Fick’s first law of diffusion, the dif-
fusive flux (J) is directly proportional to concen-
tration gradient (∂C/∂x) under steady state condi-
tions. The factor of proportionality is the tempera-
ture-dependent and substance-dependent diffu-
sion coefficient (D0):

J D C
x

= − ⋅0 ∂
∂

(3.1)

The negative sign indicates that the diffusive flux
runs in opposition to the gradient’s direction from
high concentrations to lower concentrations. In
these terms, increasing concentrations in greater
depths will yield negative gradients in the sedi-

ment along with an upwards directed positive flux,
and vice-versa.

The relations shown in Equation 3.1 are only
valid for free solutions, thus without the ‘disturb-
ing’ sedimentary solid phase. The diffusion coeffi-
cient D0 is only valid for infinitely dilute solu-
tions. Boudreau (1997) and Iversen and Jørgensen
(1993) have summarized the current state of
knowledge concerning the application of the dif-
fusion laws to the pore water volume of sedi-
ments, accomplished on the basis of an extensive
literature survey, and have thoroughly discussed
the general problem. As nothing further needs to
be added at this point, the calculation of the val-
ues shown in the following Tables 3.1 and 3.2
were performed by using the relations published
by Boudreau (1997). Table 3.1 contains the diffu-
sion coefficients for a number of ions, gases, and
uncharged complex compounds dissolved in sea-
water at various temperatures.

Looking at diffusion processes in the pore wa-
ter volume of sediments, it must be taken into con-
sideration that diffusion can only take place
within the pore water volume (porosity φ), hence a
diffusive flux can only be proportionally effective
with regard to this spatial compartment. Beyond
this limitation, the diffusion coefficient is dis-
tinctly lower in the pore water volume of a sedi-
ment (Dsed) than in free solution. The diffusive
flux in the sediment (Jsed) is calculated as:

x
CDJ sedsed ∂

∂⋅⋅−= φ (3.2)

The diffusion coefficient in the pore water volume
of sediments differs from the diffusion coefficient
of free solutions in such a manner that diffusion in
the pore water volume cannot follow a straight
course, but must take ‘deviations’ around each
single grain. The degree of deviation around
particles is called tortuosity (θ). It describes the
mean ratio between the real length of the pathway
and the straight-line distance. Tortuosity can be
quantified directly by measuring the electrical re-
sistivity (R) (McDuff and Ellis 1979) and employ-
ing a related ‘formation factor’ (F).

fs RRF = (3.3)

In this equation, Rs is the specific electrical resis-
tivity for the whole system composed of sediment
and pore water, and Rf denotes the electrical resis-
tivity for pore water only. Since the electric cur-

3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates
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Table. 3.1 Diffusion coefficient in free solution for sea-water at various temperatures. The calculations were per-
formed on the basis of relations derived from a comprehensive literature study carried out by Boudreau (1997).

Ion 0 °C 5 °C 10 °C 15 °C 20 °C 25 °C
                     Dsw  [m2s-1]

H+ 5.17E-09 5.89E-09 6.60E-09 7.30E-09 8.01E-09 8.69E-09
D+ 3.03E-09 3.68E-09 4.33E-09 4.97E-09 5.61E-09 6.24E-09
Li+ 4.21E-10 5.34E-10 6.45E-10 7.56E-10 8.66E-10 9.74E-10
Na+ 5.76E-10 7.15E-10 8.52E-10 9.88E-10 1.12E-09 1.26E-09
K+ 9.08E-10 1.10E-09 1.29E-09 1.47E-09 1.66E-09 1.84E-09
Rb+ 9.70E-10 1.17E-09 1.36E-09 1.56E-09 1.75E-09 1.94E-09
Cs+ 9.79E-10 1.17E-09 1.36E-09 1.55E-09 1.74E-09 1.93E-09
Ag+ 7.43E-10 9.11E-10 1.08E-09 1.24E-09 1.40E-09 1.57E-09
NH4

+ 9.03E-10 1.10E-09 1.29E-09 1.47E-09 1.66E-09 1.85E-09
      

Ba2+ 3.86E-10 4.68E-10 5.49E-10 6.30E-10 7.10E-10 7.88E-10
Be2+ 2.44E-10 3.10E-10 3.75E-10 4.39E-10 5.03E-10 5.66E-10
Ca2+ 3.42E-10 4.26E-10 5.09E-10 5.91E-10 6.72E-10 7.53E-10
Cd2+ 3.15E-10 3.85E-10 4.56E-10 5.25E-10 5.95E-10 6.63E-10
Co2+ 3.15E-10 3.85E-10 4.56E-10 5.25E-10 5.95E-10 6.63E-10
Cu2+ 3.22E-10 3.96E-10 4.69E-10 5.41E-10 6.13E-10 6.84E-10
Fe2+ 3.15E-10 3.84E-10 4.54E-10 5.22E-10 5.91E-10 6.58E-10
Hg2+ 3.19E-10 4.17E-10 5.13E-10 6.09E-10 7.04E-10 7.98E-10
Mg2+ 3.26E-10 3.93E-10 4.60E-10 5.25E-10 5.91E-10 6.55E-10
Mn2+ 3.02E-10 3.75E-10 4.46E-10 5.17E-10 5.88E-10 6.57E-10
Ni2+ 3.19E-10 3.80E-10 4.40E-10 4.99E-10 5.58E-10 6.16E-10
Sr2+ 3.51E-10 4.29E-10 5.08E-10 5.85E-10 6.62E-10 7.38E-10
Pb2+ 4.24E-10 5.16E-10 6.08E-10 6.98E-10 7.88E-10 8.77E-10
Ra2+ 3.72E-10 4.65E-10 5.57E-10 6.48E-10 7.39E-10 8.28E-10
Zn2+ 3.15E-10 3.85E-10 4.55E-10 5.24E-10 5.93E-10 6.60E-10
       
Al3+ 2.65E-10 3.46E-10 4.26E-10 5.05E-10 5.83E-10 6.61E-10
Ce3+ 2.80E-10 3.41E-10 4.02E-10 4.62E-10 5.22E-10 5.80E-10
La3+ 2.64E-10 3.28E-10 3.91E-10 4.53E-10 5.15E-10 5.76E-10
Pu3+ 2.58E-10 3.13E-10 3.69E-10 4.24E-10 4.79E-10 5.32E-10

      
OH- 2.46E-09 2.97E-09 3.48E-09 3.98E-09 4.47E-09 4.96E-09
OD- 1.45E-09 1.76E-09 2.07E-09 2.38E-09 2.68E-09 2.98E-09
Al(OH)4

- 4.24E-10 5.37E-10 6.50E-10 7.62E-10 8.73E-10 9.82E-10
Br- 9.51E-10 1.16E-09 1.36E-09 1.56E-09 1.76E-09 1.96E-09
Cl- 9.13E-10 1.12E-09 1.32E-09 1.52E-09 1.72E-09 1.92E-09
F- 5.98E-10 7.58E-10 9.17E-10 1.07E-09 1.23E-09 1.39E-09
HCO3

- 4.81E-10 6.09E-10 7.37E-10 8.63E-10 9.89E-10 1.11E-09
H2PO4

- 3.82E-10 4.86E-10 5.90E-10 6.92E-10 7.94E-10 8.94E-10
HS- 9.89E-10 1.11E-09 1.24E-09 1.36E-09 1.49E-09 1.61E-09
HSO3

- 6.04E-10 7.34E-10 8.63E-10 9.91E-10 1.12E-09 1.24E-09
HSO4

- 5.69E-10 7.13E-10 8.55E-10 9.96E-10 1.14E-09 1.27E-09
I- 9.33E-10 1.13E-09 1.33E-09 1.53E-09 1.73E-09 1.92E-09
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3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates

Ion 0 °C 5 °C 10 °C 15 °C 20 °C 25 °C
                     Dsw  [m2s-1]

IO3
- 4.43E-10 5.61E-10 6.78E-10 7.93E-10 9.08E-10 1.02E-09

NO2
- 9.79E-10 1.13E-09 1.28E-09 1.43E-09 1.58E-09 1.73E-09

NO3
- 9.03E-10 1.08E-09 1.26E-09 1.44E-09 1.62E-09 1.79E-09

Acetate- 4.56E-10 5.71E-10 6.84E-10 7.96E-10 9.08E-10 1.02E-09
Lactate- 4.19E-10 5.32E-10 6.44E-10 7.54E-10 8.64E-10 9.72E-10
       
CO3

2- 4.12E-10 5.04E-10 5.96E-10 6.87E-10 7.78E-10 8.67E-10
HPO4

2- 3.10E-10 3.93E-10 4.75E-10 5.56E-10 6.37E-10 7.16E-10
SO3

2- 4.31E-10 5.47E-10 6.62E-10 7.77E-10 8.91E-10 1.00E-09
SO4

2- 4.64E-10 5.72E-10 6.79E-10 7.86E-10 8.91E-10 9.95E-10
S2O3

2- 4.58E-10 5.82E-10 7.06E-10 8.28E-10 9.50E-10 1.07E-09
S2O4

2- 3.75E-10 4.63E-10 5.49E-10 6.35E-10 7.20E-10 8.04E-10
S2O6

2- 5.04E-10 6.40E-10 7.75E-10 9.08E-10 1.04E-09 1.17E-09
S2O8

2- 4.64E-10 5.89E-10 7.12E-10 8.35E-10 9.57E-10 1.08E-09
Malate2- 3.19E-10 4.05E-10 4.90E-10 5.74E-10 6.57E-10 7.39E-10
       
PO4

3- 2.49E-10 3.16E-10 3.82E-10 4.48E-10 5.13E-10 5.77E-10
Citrate3- 2.54E-10 3.22E-10 3.90E-10 4.57E-10 5.23E-10 5.89E-10
       
H2 1.92E-09 2.36E-09 2.81E-09 3.24E-09 3.67E-09 4.10E-09
He 2.74E-09 3.37E-09 4.00E-09 4.63E-09 5.24E-09 5.85E-09
NO 1.02E-09 1.26E-09 1.49E-09 1.72E-09 1.95E-09 2.18E-09
N2O 9.17E-10 1.13E-09 1.34E-09 1.55E-09 1.75E-09 1.96E-09
N2 8.69E-10 1.07E-09 1.27E-09 1.47E-09 1.66E-09 1.85E-09
NH3 9.96E-10 1.23E-09 1.45E-09 1.68E-09 1.90E-09 2.12E-09
O2 1.00E-09 1.23E-09 1.46E-09 1.69E-09 1.91E-09 2.13E-09
CO 1.00E-09 1.24E-09 1.47E-09 1.69E-09 1.92E-09 2.14E-09
CO2 8.38E-10 1.03E-09 1.22E-09 1.41E-09 1.60E-09 1.79E-09
SO2 6.94E-10 8.54E-10 1.01E-09 1.17E-09 1.33E-09 1.48E-09
H2S 9.17E-10 1.13E-09 1.34E-09 1.55E-09 1.75E-09 1.96E-09
Ar 8.65E-10 1.06E-09 1.26E-09 1.46E-09 1.65E-09 1.85E-09
Kr 8.38E-10 1.03E-09 1.22E-09 1.41E-09 1.60E-09 1.79E-09
Ne 1.31E-09 1.62E-09 1.92E-09 2.22E-09 2.51E-09 2.81E-09
CH4 7.29E-10 8.97E-10 1.06E-09 1.23E-09 1.39E-09 1.56E-09
CH3Cl 6.51E-10 8.01E-10 9.50E-10 1.10E-09 1.24E-09 1.39E-09
C2H6 6.03E-10 7.42E-10 8.80E-10 1.02E-09 1.15E-09 1.29E-09
C2H4 6.77E-10 8.33E-10 9.88E-10 1.14E-09 1.29E-09 1.44E-09
C3H8 5.07E-10 6.23E-10 7.40E-10 8.54E-10 9.69E-10 1.08E-09
C3H6 6.29E-10 7.74E-10 9.18E-10 1.06E-09 1.20E-09 1.34E-09
H4SiO4 4.59E-10 5.67E-10 6.76E-10 7.84E-10 8.92E-10 1.00E-09
B(OH)3 5.14E-10 6.36E-10 7.57E-10 8.78E-10 9.99E-10 1.12E-09
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rent in the pore water volume of sediments is
bound to the presence of charged ions in
solution, the same deviations are valid (cf. Sect.
2.1.2). The tortuosity (θ) is then calculated by
applying the porosity (φ) to the equation
according to (Berner 1980):

F⋅=φθ 2 (3.4)

The diffusion coefficient in sediments (Dsed) can
be calculated on the basis of a dimensionless tor-
tuosity and the diffusion coefficient in free solu-
tions of sea-water (Dsw in Table 3.1):

2θsw
sed DD = (3.5)

If the tortuosity is not known on account of elec-
tric conductivity measurements and the ‘formation
factor’ (F), its value may be estimated, a bit less
accurately, by its empirical relationship to the
porosity. About a dozen different empirical equa-
tions are known from literature. The most fre-
quently used is Archie’s Law (Archie 1942):

)1(2 m−=φθ (3.6)

The adaptation to specific data is done by means
of (m) as long as parallel values are available for
sediments obtained from direct measurements of
their electrical conductivity. Boudreau (1997)
shows, however, that this relation does not have
any advantage as compared to:

)(ln1 22 φθ −= (3.7)

This relation (Boudreau’s law) has been used for
the calculation of various porosity values preva-
lent in marine sediments as listed in Table 3.2.

By applying the contents of the Tables 3.1 and
3.2 as well as the relation expressed in Equation
3.5, the various examples of the following section
are quantifiable. Notwithstanding, it should be
emphasized that tortuosity values obtained by
electrical conductivity measurements should al-
ways be, if available at all, favored to estimated
values deduced on account of an empirical rela-
tion to porosity.

3.2.3 Quantitative Evaluation of
Steady State Concentration Profiles

This section intends to demonstrate the applica-
tion of Fick’s first law of diffusion to some se-
lected examples of concentration profiles which
were derived from marine pore water samples. It
needs to be stressed that all these calculations re-
quire that steady-state conditions are present.
The calculation of non-steady state conditions
will only be dealt with later in Section 3.2.4.

Figure 3.5 shows an oxygen profile measured in-
situ. The part of concentration gradient exhibiting
the highest inclination is clearly located directly be-
low the sediment surface. This gradient of 22.1 mol
m-3m-1 is identified in Figure 3.5 (cf. Sect. 12.2). A
relatively high degree of porosity will have to be
assumed for this sediment near the sediment sur-
face. A porosity of φ = 0.80 yields a tortuosity value
(θ2) of 1.45, according to Table 3.2. The diffusion
coefficient for oxygen dissolved in free seawater at
5 °C is shown in Table 3.1 to amount to Dsw =
1.23·10-9 m2s-1. Applying Equation 3.5, it follows
that the diffusion coefficient for oxygen in sedi-
ments is Dsed = 8.5·10-10 m2s-1. This yields the diffu-
sive oxygen flux from the bottom water into the
sediment  Jsed, oxygen as:

Jsed,oxygen = - 0.80 · 8.5·10-10 · 22.1
= - 1.5·10-8 [mol m-2s-1] (3.8)

To arrive at less complicated and more imaginable
figures, and in order to compare this value with,
for instance, sedimentological data, we multiply
with the number of seconds in a year (365 · 24 · 60
· 60 = 31,536,000) and then we obtain:

Jsed,oxygen = - 1.5·10-8 · 31,536,000
= - 0.47 [mol m-2a-1] (3.9)

Table 3.2 Tortuosity expressed in terms of a sediment’s
porosity. The calculation was performed by using the
Equation 3.7 as published by Boudreau (1997).

φ θ2 φ θ2 φ θ2

0,20 4,22 0,44 2,64 0,68 1,77
0,22 4,03 0,46 2,55 0,70 1,71
0,24 3,85 0,48 2,47 0,72 1,66
0,26 3,69 0,50 2,39 0,74 1,60
0,28 3,55 0,52 2,31 0,76 1,55
0,30 3,41 0,54 2,23 0,78 1,50
0,32 3,28 0,56 2,16 0,80 1,45
0,34 3,16 0,58 2,09 0,82 1,40
0,36 3,04 0,60 2,02 0,84 1,35
0,38 2,94 0,62 1,96 0,86 1,30
0,40 2,83 0,64 1,89 0,88 1,26
0,42 2,74 0,66 1,83 0,90 1,21
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If we now assume that oxygen reacts in the sedi-
ment exclusively with Corg in a ratio of 106:138 as
Froelich et al. (1979) have indicated (cf. Section
3.2.5), then we obtain the amount of Corg which is
annually oxidized per m2:

Rox,Corg = 0.47 · (106/138) · 12
= 4.4 [gC m-2a-1] (3.10)

It must be pointed out that we have to differ-
entiate very distinctly between two very different
statements. On the one hand, the profile inescap-
ably proves that 0.47 mol m-2a-1 oxygen are con-
sumed in the sediment. On the other hand, the cal-
culation that 4.4 g m-2a-1 Corg is equivalent to this
amount requires that all oxygen is, in fact, used in
the oxidation of organic matter. However, it is
imaginable that at least a fraction of oxygen is
consumed by the oxidation of other reduced inor-
ganic solute species (e.g. Fe2+, Mn2+, or NH4

+; cf.
also with example shown in Fig. 3.8). There is

indeed evidence that, depending on the specific
conditions of the various marine environments,
one or the other reaction contributes more or less
to the consumption of oxygen. At any rate, this
needs to be verified by other measurements, for
instance, by recording the concentration profiles
of the reducing solute species.

Figure 3.6 shows the concentration profile of
dissolved sulfate obtained from the pore water of
sediments sampled from the Amazon deep sea fan.
The pore water was extracted by compression of
sediment sampled with the gravity corer, and was
immediately afterwards analyzed by ion-chro-
matography (compare Sects. 3.3 and 3.4). As com-
pared to the previous example, a depth range com-
prising more than two orders of magnitude is dealt
with here. The paths for diffusion are hence consi-
derably longer in this example. Yet, the sulfate con-
centration in sea-water is also two orders of magni-
tude higher than the concentration of oxygen so that,
in total, a similar gradient is formed nevertheless.

Fig. 3.5 A quite successful oxygen profile in a marine sedi-
ment. This profile was measured by Glud et al. (1994) in highly
reactive sediments off the western shoreline of Africa using the
‘Profilur’ lander in situ. The most pronounced concentration
gradient (chain line) lies directly below the sediment surface.
Down to a depth of only about 25 mm below the sediment
surface, the oxygen dissolved in pore water is entirely depleted.

3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates

Fig. 3.6 Sulfate profile in pore water from sediments of
the Amazon deep sea fan at a water depth of about 3500
m. A linear concentration gradient can be distinctly de-
rived from the sediment surface down to a depth of about
5.4 m. The gradient change, and thus a change in the dif-
fusive flux, is strongly limited to a depth interval of at
the most 10 to 20 cm (after Schulz et al. 1994).
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In this case a concentration gradient of
5.5 mol m-3 m-1 was derived as a mean value for the
depths ranging from 0 to 5.4 m. Upon examining
the curve in more detail, it is obvious that the gra-
dient is less pronounced in the upper 2 meters
which is probably explained by a somewhat higher
porosity and a concurrently unchanged diffusive
flux. As the discovered gradient within the sulfate
profile is located distinctly deeper under the sedi-
ment surface than in the previous example, it is
reasonable to assume a lower degree of porosity.
A porosity of φ = 0.60 yields, according to Table
3.2, a tortuosity value (θ2) of 2.02. On consulting
Table 3.1 we find that the diffusion coefficient for
sulfate in sea-water at 5 °C is Dsw = 5.72·10-10 m2s-

1. Using Equation 3.5 it follows that the diffusion
coefficient in the sediment amounts to Dsed =
2.8·10-10 m2s-1 . Thus, the diffusive sulfate flux
from the bottom water into the sediment corre-
sponds to Jsed, sulfate:

Jsed,sulfate = - 0.60 · 2.8·10-10 · 5.5
= - 9.2·10-10 [mol m-2s-1] (3.11)

To arrive at more relevant figures and for reasons
of comparison with other sedimentologic data, we
multiply this value with the number of seconds in
one year (31,536,000) and obtain:

Jsed,sulfate = - 9.2·10-10 · 31,536,000
= - 0.029 [mol m-2a-1] (3.12)

If we assume that sulfate reacts in the sediment
exclusively with Corg, in a ratio of 106:53 as
Froelich et al. (1979) have reported, then for the
amount of Corg that is annually oxidized per square
meter amounts to:

Rox,Corg = 0.029 · (106/53) · 12
= 0.70 [gC m-2a-1] (3.13)

It should be indicated at this point as well that
the calculated diffusive sulfate flux from the bot-
tom water into the sediment, and from there into
a depth of about 5.4 m, is the unequivocal conse-
quence of the profile shown in Figure 3.6. It also
follows that this sulfate is degraded in the depth
of 5.4 m within a depth interval of at the most 10
to 20 cm thickness. The calculated Corg amount
that undergoes conversion again depends on the
assumption made by Froelich et al. (1979) that in-
deed the whole of sulfate reacts with organic car-
bon. Several studies demonstrated that this must

not be generally the case. For sediments ob-
tained from the Skagerak, Iversen and Jørgensen
(1985) showed that an essential proportion of
sulfate is consumed in the oxidation of methane.
At different locations of the upwelling area off the
shores of Namibia and Angola, Niewöhner et al.
(1998) could even prove that the entire amount of
sulfate is consumed due to the oxidation of meth-
ane which diffuses upwards in an according
gradient.

Figure 3.7 shows a nitrate profile obtained from
sediments of the upwelling area off Namibia which
is rather characteristic of marine pore water. The
processes behind such nitrate profiles are now
well understood. The details of these reactions are
described in the chapters 5 and 6; here, they will
be discussed only briefly as much is necessary for
the comprehension of calculated substance fluxes.

Fig. 3.7 Nitrate profile of pore water obtained from
sediments of the upwelling area off the coast of Namibia.
The profile displays the shape which is typical of nitrate
profiles, with a maximum at a depth which is determined
by the decomposition of organic material and the oxi-
dized nitrogen released from it after having reacted with
the dissolved oxygen. The gradients indicated document a
flux upward into the bottom water and a flux downward
into zones where nitrate functions as an electron accep-
tor in the oxidation of other substances.
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The maximum at a specific depth below sea-level
is the result of oxidation of organic material by the
oxygen that diffuses into the sediment zone from
above. Here, the nitrogen of the organic material is
converted into nitrate. Mostly, a more pronounced
gradient transports the major proportion of nitrate
upwards into the bottom water. The smaller
proportion travels downwards along a shallow
gradient where it is finally consumed as an
electron acceptor in the oxidation of other sub-
stances.

All these processes can be derived directly
and quantitatively from Figure 3.7. Since they are
bound to a sedimentary zone which lies very close
to the surface, a high degree of porosity can be
assumed. According to Table 3.2, the porosity φ =
0.80 corresponds to a tortuosity (θ2) of 1.45. Table
3.1 shows that the diffusion coefficient for nitrate
in free sea-water at 5 °C amounts to Dsw =
1.08·10-9 m2s-1. Applying Equation 3.5 yields a
sedimentary diffusion coefficient of Dsed =
7.4·10-10 m2s-1. Hence, the diffusive nitrate flux
from the sediment to the bottom water compart-
ment is calculated as:

Jnitrate,up  = - 0.80 · 7.4·10-10 · (-8.4)
 = 5.0·10-9 [mol m-2s-1] (3.14)

or as

Jnitrate,up  = 5.0·10-9 · 31,536,000
 = 0.16 [mol m-2a-1] (3.15)

The nitrate flux in a downward direction is calcu-
lated accordingly:

Jnitrate,down  = - 0.80 · 7.4·10-10 · 2.5
 = - 1.5·10-9 [mol m-2s-1] (3.16)

or as

Jnitrate,down  = - 1.5·10-9 · 31,536,000
 = - 0.047 [mol m-2a-1] (3.17)

The sum of both fluxes yields a minimal esti-
mate value of the total nitrate concentration re-
leased from organic matter due to its reaction with
oxygen. However, the real value for the total
amount of released nitrate must be higher than the
sum of both calculated fluxes. The gradient of the
downward directed flux may be quite reliably cal-
culated from numerous points, however, the more
pronounced gradient of the flux leading upward
into the bottom water consists only of two points,
one of which merely represents the concentration

in the bottom water whereas the other represents
the pore water of the uppermost 0.5 cm of sedi-
ment. It is probably correct to assume that the gra-
dient is more pronounced in closer proximity to
the sediment surface, and hence the flux should
also prove to be more enhanced. A more accurate
statement would only be possible under in-situ
conditions with a depth resolution similar to the
oxygen profile shown in Figure 3.5. As for mea-
surements performed under ex-situ conditions, a
better depth resolution than shown in Figure 3.7 is
very hard to obtain.

If we assume that the released nitrate exclu-
sively originates from the oxidation of organic
matter, and that the organic matter is oxidized in a
manner in which the C:N ratio corresponds to the
Redfield-ratio of 106:16 (cf. Sect. 3.2.5), then we
can also calculate the conversion rate of organic
matter on the basis of the nitrate profile:

Rox,Corg = [abs(Jnitrate,up)
              +  abs(Jnitrate,down)] · (106/16)            (3.18)

or by employing the values of the above example:

Rox,Corg = ( 0.16 + 0.047) · (106/16)
= 1.37 [mol m-2a-1] (3.19)

or

Rox,Corg = 16.5 [gC m-2a-1] (3.20)

At any rate, such a value might serve only as a
rough estimation, since apart from the aforemen-
tioned error, the calculation procedure implicitly
contains some specific assumptions. It has been
already mentioned that the C:N ratio of the oxi-
dized material is supposed to be (106/16 = 6.625).
Publications of Hensen et al. (1997), however,
indicate that especially in sediments with a rich
abundance of organic matter a distinctly lower
ratio of almost 3 is imaginable (cf. Chap. 6). It
must also be considered that the measured
profiles are not just influenced by diffusion in
the surface zones, but also by the processes of
bioturbation and bioirrigation (cf. Sect. 3.6.2).

In principle, the shape of the manganese pro-
file shown in Figure 3.8 is not dissimilar to the ni-
trate profile of Figure 3.7. Here, we again identify
the zones of maximum concentrations – in this
particular case about 0.5 m below the sea-floor
level – as the site of dissolved manganese release
into the pore water. Again, a pronounced negative
gradient transports the dissolved manganese up-

3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates
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wards away from the zone of its release. This time,
however, the substance flux does not reach up to
the bottom water above the sediment, instead,
very low manganese concentrations are measured
at a depth which is only few centimeters below the
sediment surface. A flat positive gradient leads a
smaller fraction of the released manganese to
greater depth where it is withdrawn from the pore
water at about 14 to 15 m below the sediment sur-
face.

Here as well, similar to the previously dis-
cussed example, both fluxes can be calculated.
The upwardly directed flux from the manganese re-
lease zone (Jmanganese, up) is obtained from the gra-
dient (-0.5 mol m-3m-1), where in the upper zone the
sediment possesses an assumed porosity of 0.80.
Considering the values in Table 3.1 and 3.2, as
well as the Equation 3.5, a sedimentary diffusion
coefficient of Dsed = 2.6·10-10 m2s-1 yields the fol-

lowing manganese flux:

Jmanganese,up = - 0.80 · 2.6·10-10 · (-0.5)
= 1.0·10-10 [mol m-2s-1] (3.21)

or

Jmanganese,up = 1.0·10-10 · 31,536,000
= 3.2·10-3 [mol m-2a-1]  (3.22)

Likewise, the downward-directed manganese flux
is calculated, however, taking a porosity degree of
φ = 0.60 into account and an accordingly calcu-
lated Dsed = 1.9 E-10 m2s-1:

Jmanganese,down  = - 0.60 · 1.9·10-10 · 0.0084
 = - 9.6·10-13 [mol1m-2s-1] (3.23)

or

Jmanganese,down  = - 9.6·10-13 · 31,536,000
 = - 3.0·10-5 [mol m-2a-1]  (3.24)

Again, both fluxes added together constitute the
total release of dissolved manganese from the
sediment into the pore water. Since the downward-
directed flux is in this case almost two orders of
magnitude lower than the upward-directed flux, it
may be neglected considering the possible errors
occurring in the determination of the upward
stream. The release of manganese is equivalent to
the conversion of oxidized tetravalent manganese
into the soluble divalent manganese. Which sub-
stance is the electron donor in this reaction can-
not be concluded from the manganese profile. It
could be organic matter as proposed by Froelich
et al. (1979). In this case we should not overlook
the fact that the converted substance amounts are
one order of magnitude lower than they are, for in-
stance, in sulfate fluxes (Fig. 3.6), and more than
two orders of magnitude lower than they are in the
flux of oxygen. (Fig. 3.5). It should also be noted
that upon reducing one mole of Mn(IV) to Mn(II)
only two moles of electrons are exchanged,
whereas it amounts to 4 moles of electrons per
mole oxygen, and even 8 moles of electrons per
mole sulfate. Even the ‘impressive’ gradient of the
manganese profile shown in Figure 3.8 does not
represent an essential fraction of the overall di-
agenetic processes in the sediment, involved in
the oxidation of organic matter.

The upward-directed manganese flux does not
reach into the bottom water, instead, the Mn2+ is
re-oxidized in a depth of only few centimeters be-
low the sediment surface. Generally, one would ex-

Fig. 3.8 A manganese profile in pore water of sediments
off the Congo River estuary, in a water depth of approx.
4000 m. The profile is, in principle, quite similar to the
profile of nitrate previously shown in Figure 3.7. Here,
manganese is released into the pore water at a specific
depth below the sediment surface. A gradient with a high
negative slope leads most of the Mn2+ upwards; another
gradient, positive and more level, conveys manganese
into a precipitation zone, which was just included in the
lowest core meter (between 14 and 15 m).
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pect this re-oxidation to occur by the action of
dissolved oxygen (cf. Chap. 11).

It is not within the scope of the present discus-
sion to decide whether the variations in the con-
centration profile that were averaged upon calculat-
ing the gradient of 0.0084 mol m-3m-1 shown in Figure
3.8, merely reflect the inaccuracy pertinent to the
sampling technique and/or the analytical procedure,
or whether they represent discrete processes of their
own. Since they do not vary independently, and
since several points appear to constitute smaller
minima and maxima, it may be suggested that these
measurements do not simply represent analytical
variations, but reasonable and true values. At any
rate, the whole curve leads in its course to very low
values that are reached at a depth of 14 m along with
a distinct change of the gradient’s slope. In many
cases, a precipitation of Mn(II)-carbonate is to be
expected. The identification of such diagenetic
phases anticipated in geochemical modeling is
discussed in more detail in Section 15.1.

3.2.4 The Non-Steady State Situation
and Fick’s Second Law of Diffusion

All examples of the preceding Sections 3.2.2 and
3.2.3 are strictly only valid under steady-state
conditions when concentrations, and hence the
gradients and diffusive fluxes, are constant over
time. Fick’s second law of diffusion is applicable
in non-steady state situations:

(3.25)

The diffusion coefficient in free solution (D) or
the diffusion coefficient in sedimentary pore water
(Dsed) are used due to the conditions of the sys-
tem. In contrast to Fick’s first law of diffusion, the
time co-ordinate (t) appears here next to the local
co-ordinate (x). The concentrations and thus the
gradients and fluxes are variable for these co-ordi-
nates. Such a partial differential equation cannot
be solved without determining a specific configu-
ration of boundary conditions. On the other hand,
most of the known solutions are without great
practical value for the geochemist due to their
very specifically chosen sets of boundary con-
ditions that are seldom related to real situations.
In the following only one solution will therefore
be presented in detail. The following boundary
conditions are to be considered as valid: In the
whole sediment profile below the sediment surface
the same diffusion coefficient (Dsed) is assumed to

prevail, the same concentration (C0) prevails in the
sediment’s pore volume. After a certain point in
time (t=0) the bottom water attains another con-
centration (Cbw) at the sediment surface. The con-
centrations (Cx,t) in the depth profile (co-ordinate
x = depth below the sediment surface) at a specific
time-point (t) are for these conditions described
as:

( ){ }tDxerfcCCCC sedbwtx ⋅⋅⋅−+= 2)( 00,

(3.26)

The error function (erfc(a)), related to the Gauss-
function, can be approximated according to Kin-
zelbach (1986) with the relation:

       erfc(a) = exp(-a2) · (b1·c + b2·c2 + b3·c3

                              + b4·c4   + b5·c5)                 (3.27)

with:
b1 = 0.254829592
b2 = - 0.284496736
b3 = 1.421413741
b4 = - 1.453152027
b5 = 1.061405429

and:
c = 1 / [1 + 0.327591117 · abs(a)]

for negative values for (a) it follows:

)(2)( aerfcaerfc −=

Figure 3.9 shows the graphical representation of
the error function according to the approximation
published by Kinzelbach (1986). This is the func-
tion complementary to the error function of
Boudreau (1997):

)(1)( aerfcaerfc −= (3.28)

With this analytical solution of Fick’s Second Law
of Diffusion, the various curves in Figure 3.3 can
now be calculated. On doing this, one will find that
the outcome is exactly the same as in the cor-
responding calculations with the different nume-
rical solutions presented in Chapter 15. Yet, the
components of Figure 3.4, with the multiple change
of the concentration in bottom water and the
‘memory’ of which is preserved over several cycles
in the pore water fraction, is not accessible with
this rather simple analytical solution.

3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates
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Another example that can be assessed with
this analytical solution results from the following
considerations: At the beginning of the Holo-
cene, about 10,000 years ago, the sea level rose
more than 100 m as a result of thawing ice, which
is equivalent to 3 % of the entire water column.
This means that seawater had been previously
about 3 % higher in concentration. If we assume a
chloride concentration of 20,000 mg/l in the
seawater today, and thus a mean concentration of
20,600 mg/l in seawater of the ice age, then we are
able to calculate the non-steady state chloride
profile in pore water with the application of the
analytical solution of Equation 3.26.

From the result of this calculation (shown in Fig.
3.10) it follows that we will find just about one half
of the ice age seawater concentration (20,300 mg/l)
at a depth of 12 m below the sediment surface. If we
consider that the reliability of our analytical
methods lies at best somewhere around 1.5 %, the
exemplary calculation reveals that the effect in pore
water is almost at the limit of detection.

Other applications of such analytical solu-
tions hardly make any sense, since, with the
exception of chloride, practically all other para-
meters of pore water are strongly influenced by
complex biogeochemical processes. In order to
retrace these processes appropriately, analytical
solutions for non-steady states in pore water are
usually not sufficiently flexible. Hence, numeric
solutions are mostly employed. These will be
discussed later in Chapter 15 with regard to
connection to biogeochemical reactions.

3.2.5 The Primary Redox-Reactions:
Degradation of Organic Matter

Nearly all biogeochemical processes in young
marine sediments during early diagenesis are
directly or indirectly connected with the degra-
dation of organic matter. This organic matter is
produced by algae in the euphotic zone of the
water column by photosynthesis. Usually, only a
small part of the primary production reaches the
sediment surface and of which only a small part is
incorporated into the sediment where it becomes
the driving force for most of the primary diage-
netic redox-reactions (cf. Fig. 12.1).

The conceptual model for the degradation of
organic matter in marine sediments was first
proposed by Froelich et al. (1979). Although many
more details, variations and specific pathways of
these redox-reactions have become known in the
meantime, this ‘Froelich-model’ of the primary
redox-reactions in marine sediments is still valid

Fig. 3.9 Graphical representation of the error function
in the approximated form after Kinzelbach (1986). This
is the function complementary to the error function of
Boudreau (1997). Additionally, in the form published by
Boudreau (1997), the range of negative values for (a) is
omitted, as this has little relevance for sediments.

Fig. 3.10 Calculated concentration profile in the pore wa-
ter of a marine sediment according to an analytical solution
of Fick’s Second Law of Diffusion. For reasons of simplifi-
cation it was assumed that the seawater contained 3 % less
chloride concentration since the beginning of the Holocene
as a result of thawing ice. This lower concentration (20,000
mg/l) had enough time over 10,000 years to replace the
higher concentration (20,600 mg/l) from the sediment.
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(Fig. 3.11). Usually, these reactions are based on a
very simplified organic matter with a C:N:P-ratio of
106:16:1 (‘Redfield-ratio’) as described by Redfield
(1958) (cf. Sects. 5.4.4 and 6.2). The standard free
energies for these model reactions are also listed
in Figure 3.11 (cf. Sect. 5.4.1). The reactions in this
figure are listed in order of declining energy yield
from top to bottom.

Based on these reactions, a succession of dif-
ferent redox zones is established:

• Close to the sediment surface, dissolved
oxygen is usually transported from the bottom
water into the sediment either by molecular
diffusion or as a result of biological activity.
In this upper zone (the oxic zone), dissolved
oxygen is the electron acceptor for the degra-
dation of organic matter. Products of this
reaction are carbonate, nitrate and phosphate
derived from the nitrogen and phosphorus in

the organic matter. For details of these
reactions, see Chapter 6.

• Below the oxic zone follows a zone where
manganese(IV) oxides in the solid phase of
the sediment serve as electron acceptors.
Products of this reaction are usually car-
bonate, nitrogen, phosphate and dissolved
Mn2+-ions in the pore water. These dissolved
Mn2+-ions are usually transported either by
diffusion or by bio-activities to the oxid zone
where manganese is re-oxidized and precipi-
tates again as manganese(IV) oxide. These
reactions belong to a manganese cycle, by
which oxygen is transported into deeper parts
of the sediment. For details of these reactions,
see Chapter 11.

• Below this zone, nitrate serves as an electron
acceptor, which is a product of the redox-

3.2 Calculation of Diffusive Fluxes and Diagenetic Reaction Rates

Fig. 3.11 Degradation of organic matter with different electron acceptors (Froelich et al. 1979). The columns represent
the different amounts of resulting energy. The oxidation of organig matter by nitrate describes a reaction of the nitrate to ele-
mentary nitrogen and leaves the nitrogen of the organic matter as ammonium. Other reactions are possible (cf. section 6.3).



90

3 Quantification of Early Diagenesis: Dissolved Constituents in Marine Pore Water

reactions in the oxic zone. Carbonate,
phosphate and nitrogen, as well as ammonia
are produced. The oxygen for the oxidation of
organic matter in this zone is derived from the
nitrate, produced in the oxic zone. In most
cases, this process oxidizes at least one order
of magnitude less organic matter than the
reactions in the oxic zone. For details of these
reactions, see Chapter 6.

• Below this zone, iron(III) oxides or iron(III)
hydroxides in the solid phase of the sedi-
ments act as electron acceptors. For details of
these reactions, see Chapter 7.

• Below this zone, dissolved sulfate serves as
electron acceptor for the oxidation of organic
matter, according to the ‘Froelich-model’.
Recent publications however showed that, in
most cases, not organic matter is oxidized in
this zone, but predominantly methane, which
diffuses up from the deeper parts of the sedi-
ment (Niewöhner et al. 1998). For details of
these reactions, see Chapter 8.

• The reaction with the lowest yield of standard
free energy is methane fermentation with the
products carbonate, methane, ammonia and
phosphate. For details of these reactions, see
Chapter 4.

3.3 Sampling of Pore Water
for Ex situ Measurements

Ideally, one would prefer to analyze pore water
exclusively under in situ conditions, as will be
explained in Section 3.5, for the parameters that
permit such procedure. The pressure change, and
frequently the change of temperature as well, are
usually coupled to ex situ measurement and exert
a number of influences of varying potential. How-
ever, the ex situ measurement will certainly remain
a necessity for quite a long time, with regard to
most of the substances dissolved in pore water
and especially for great depths below the sedi-
ment surface. This book is not the place to give a
general review on sediment sampling techniques.
Rather, the more common procedures for sediment
sampling will be introduced with an emphasis put
on pore water analysis. Then, the particularities,
the possible errors as well as problems arising in

the application of these sampling techniques, will
be discussed.

The following section is concerned with the
separation of the aquatic pore water phase from
the solid sediment phase. As with all particularly
problematic and error-inducing procedures, these
various techniques have, depending on the case
at hand, their specific advantages and disad-
vantages.

As a matter of course, one would want to ana-
lyze the obtained pore water as soon as it has
been separated from the sediment to quantify the
dissolved substances therein. In daily routine
proceedings, compromises must be made since
not all analyses can be carried out simultaneously,
and since each and every analytical instrument is
not present on board a ship. Thus, it will be
necessary to describe the state of knowledge
concerning pore water storage, transport and pre-
servation.

3.3.1 Obtaining Samples of Sediment for
the Analysis of Pore Water

A number of different techniques are available to
withdraw samples from the marine sediment.
Depending on the scientific question under study,
a tool may be chosen that is either capable of
taking the sample without harming the sediment
surface or disturbing the supernatant bottom wa-
ter (e.g. multicorer), or that punches out a large as
possible sample from the sediment surface area
(e.g. box corer), or one that yields cores from the
upper less solid meters of the sediment which are
as long as possible and most undisturbed (gravity
corer, piston corer, box corer).

The Box Corer

The generic term ‘box corer’ denotes a number of
tools of different size and design used in sam-
pling marine sediments, mostly lowered from
ships by means of steel wire rope to the bottom.
All have a square or rectangular metal box in com-
mon which is pressed into the sediment by their
own weight, or perhaps by additionally mounted
weights. Upon lifting the tool from the sea-floor
the first pull on the steel ropes is used to close
the box by means of a shovel while it is still situ-
ated in the sediment. At the same time, an ope-
ning at the top is shut, more or less tightly, so
that the bottom water immediately above the
sediment is entrapped. The lateral dimensions of
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small metal box corers are about 10 cm and they
reach to that extent into the sediment. Larger box
corers (‘giant box corer’) possess lateral
dimensions and penetration depths of 50 cm,
respectively.

Apart from the large sample volume that is
collected, the giant box corer has the advantage
that the in situ temperature is kept stable at least
in the central zones of the sample, even if the
sample is raised at the equator, from a depth of
several thousand meters where the sediment is
about 2° C cold. This is about the only advantage
the box corer has with regard to the geochemical
pore water analysis, whereas various disadvan-
tages are to be considered. The shutter on top of
the box corer is often not very tightly sealed, and
thus the entrapped bottom water might become
uncontrollably adulterated upon being raised
upwards through the water column. On hoisting
the loaded, heavy box corer out of the water, and
during its later transportation, onto the deck of a
ship, the sediment surface is mostly destroyed to
an extent that at least the upper 1-2 cm become
worthless for the subsequent pore water analysis.

The Multicorer

The multicorer is also employed from the ship
using steel wire ropes and can also be used for all
depths under water. On applying this tool, up to
12 plastic tubes (mostly acrylic polymers), each
measuring a length of about 60 cm and about 5-10
cm in diameter, are simultaneously inserted appro-
ximately 30 cm into the sediment. As with the box
corer, the first pull of the steel rope on lifting the
appliance is used to seal the plastic tubes on both
ends. These shutters are usually tight enough to
ensure that the entrapped water will later repre-
sent the genuine bottom water.

Variations to the in situ conditions are caused
in greater depths (about 1000 m and more ) by the
expansion of the pore water, which happens rela-
tive to the sediment, when the pressure dimi-
nishes. The uppermost millimeters of the profile
are then distorted. Moreover, the temperature rise
gives cause for disturbances upon raising the
samples upwards out of great depths, in the
course of which microbial activity is activated
within the sediment sample, which is distinctly
higher than under in situ conditions.

On the other hand, the multicorer provides, at
present, the best solution for ex situ sampling of
sediments from the sediment/water interface. The

nitrate profile shown in Figure 3.7 was measured
in pore water extracted from a sediment sample
which had been obtained by using the multicorer.
It shows clearly that the concentration profile can
be measured in pore water with an almost un-
disturbed depth resolution of 0.5 cm per each
sample. The reliable sampling technique using the
multicorer also becomes evident upon comparing
the in situ measured oxygen profiles (Holby and
Riess 1996) with the ex situ measured oxygen
profiles of a multicorer sample (Enneking et al.
1996). Both measurements (Figure 3.12) were
conducted at the same location, at the same time,
and lead to the same oxygen penetration depth
and nearly identical oxygen concentration
profiles. In both cases, the oxygen was measured
with micro-electrodes.

Light-weight, High-momentum Gravity Corer

A light-weight, high-momentum gravity corer was
first described by Meischner and Ruhmohr (1974)
(cf. Figure 3.13). Somewhat modified variants

3.3 Sampling of Pore Water for ex situ Measurements

Fig. 3.12 In situ measured oxygen profile (dots, Holby
and Riess 1996). In addition, an oxygen profile which
was also measured ex situ with a micro-electrode is
shown (circles, Enneking et al. 1996). The sample was
obtained with a multicorer tube. Both profiles were
measured in the course of the Meteor M 34/2 expedition
at the same time and from the same location in an
upwelling area off Namibia, at a depth of approx. 1,300
m below sea level.
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made by various manufacturers are in use, where-
by ‘Rumohr corer’ is a model frequently used. In
most cases, a plastic tube (mostly an acrylic
polymerization product) with a diameter of about
6 cm and a variable weight, is pressed 0.5 m to 1 m
deep into the sediment. Upon pulling the tube
out, the top aperture is shut whereby the bottom
water that just covers the sediment becomes
entrapped. The tube is not sealed at the bottom
because (mostly) the closure at the top suffices
to prevent the sediment from falling out. But, as
soon as the high-momentum gravity corer is held
out of the water, the bottom aperture of the tube
must be sealed with an adequate rubber stopper.

The high-momentum gravity corer is most
frequently used in shallow waters, on the shelf
and from the decks of smaller ships, since it does
happen from time to time that the bulk sample
slides out of the bottom prior to its closure with
the rubber stopper, and owing to the fact that the
corer has only one tube that is filled with sample
of sediment. In greater depths, and whenever a
larger ship is available, the multicorer will be used
in preference. Otherwise, the quality of the
samples is entirely comparable. Furthermore, the
high-momentum gravity corer is capable of extrac-
ting sample cores of up to 1 m in length.

The Gravity Corer and the Piston Corer

Upon using the gravity corer, a steel tube of about
13 cm in diameter is pressed between 6 m and 23 m
deep into the sediment with the aid of a lead weight
weighing about 3 - 4 t. Inside the steel tube, a pla-
stic liner made of HD-PVC is situated that encom-
passes the core. Upon extraction from the sediment
and raising the tube upwards through the water
column, the tube’s top aperture is kept shut by a
valve. Below, another valve-like shutter - the core
catcher - prevents the core material from falling out.
Generally, cores of about 10 - 15 m in length are
obtained in pelagic sediments, although at times
they reach up to 20 m.

In a piston corer the same steel tubes and
plastic liners are employed, but with a lighter lead
weight. However, this corer is additionally equip-
ped with a shear-action mechanism that moves a
piston upwards through the tube when the tool is
immersed into the sediment. The piston stroke
produces a vacuum that facilitates the penetration
of core into the tube. By using the piston corer,
core lengths can be achieved which are frequently
20 - 30 m in length and thus several meters longer
than the ones obtained with the gravity corer. Yet,
it is observed that the cores obtained with the

Fig. 3.13 Application of a high-momentum gravity corer (Meischner and Rumohr 1974) to obtain samples from
marine sediments. The device can also be stationed on smaller vessels and is suited to extract almost unperturbed
cores measuring 1 m in length to be applied in pore water analysis.
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gravity corer and with the piston corer display the
same stratigraphical depth zones of the sediment. It
is therefore assumed that the cores sampled with
the gravity corer are ‘somewhat compressed’ espe-
cially in the lower parts, whereas the piston corer
produces cores that are ‘somewhat extended’ in
length. How this comes into effect and what
conclusions are to be drawn with regard to the pore
water samples is yet completely uncertain. In the
examined pore water profiles of sediments extracted
with the gravity corer, there were no indications as
to any noticeable compression to date.

Both sampling tools can only be operated from
the decks of larger ships that are equipped with
steel ropes and winches designed for managing
weights of 10 - 15 tons. The author would per-
sonally always prefer using the gravity corer
because its handling is easier, safer and faster; and
because, especially in low latitudes, every minute
counts in which the core is unnecessarily exposed
to high temperatures on board the deck of the ship.

At least the upper 10 to 30 cm of the core
length obtained with either tool is usually
adulterated in that it is not appropriate for pore
water analysis. The multicorer, high-momentum
gravity corer, or at least the box corer should be
employed in a parallel procedure to ensure that
this layer will also be included as part of the
sample. It should not be overlooked that, espe-
cially in the deep sea, sampling with two different
tools ‘at the same site’ might imply a distance of
several 100 m on the ocean floor. From this
deviation considerable differences in pore water
composition, and in some of the biogeochemical
reactions close to sediment surface, are likely to
result. Hence the specification as to ‘same site’
must be acknowledged with caution.

After the usage of either tool - the gravity corer
and the piston corer - the sediment core obtained is
immediately dissected into pieces of 1 m in length
within the tube. Usually, the one meter long tubular
pieces, tightly sealed with caps, are stored at in
situ temperature prior to the subsequent further
processing which is to be carried out as quickly as
possible.

The Box-shaped Gravity Corer (Kastenlot)

In principle, the box-shaped gravity corer is not
dissimilar to the above mentioned gravity corer.
Here, a metal box with a core length of about 10 m
and a lateral dimension of about 0.1 m up to 0.3 m
is used instead of a steel tube with a plastic liner.

The core box is shut by valves upon being pulled
out of the sediment and is then hoisted upwards
through the water column. The advantage of
using the box-shaped gravity corer consists in
providing a large core diameter, less perturbations
due to the metal box’s thinner walls, and by remo-
ving one side of the box it allows the sediment
stratigraphy to be examined. The essential disad-
vantage in examining pore water samples consists
in the fact that the core is distinctly less acces-
sible, and that processing of the core under an
inert atmosphere (glove box) is hardly feasible.

The Harpoon sampler

Sayles et al. (1976) have described a device that
allows collection of pore water samples under in
situ conditions. To achieve this, a tube is pressed
about 2 meters deep into the sediment, like a har-
poon. Then the pore water is withdrawn from
various sections of the tube, through opened
valves, and concomitantly passed through filters.
The crucial step of separating sediment and pore
water thus happens under in situ conditions. The
obtained water samples are then ready to be ana-
lyzed ex situ. The concentrations which were mea-
sured by Sayles et al. (1976), however, do not
differ greatly from those which were obtained
‘from the same location’ by expressing pore water
under ex situ conditions.

Jahnke et al. (1982) used the same (or, at least a
quite similar) tool in 4450 m deep waters of the
equatorial Pacific, at approximately 0° to 10° N,
and approximately 140° W (MANOP-site). Here,
the distances between the locations in which the
harpoon sampler was used and in which, for
reasons of comparison, pore water was obtained
by compression after the sampling was carried out
with the box corer, amounted to 300 m to up to
3000 m. In measurements, which were corrobora-
ted several times, Jahnke et al. (1982) found similar
concentrations of nitrate, nitrite, silica, pH, and
manganese. Yet, the concentrations of ∑CO2, alka-
linity and phosphate were distinctly higher and
displayed statistical significance.

3.3.2 Pore Water Extraction from the
Sediment

In the following section, the separation of pore
water from the sediment will be described. The
necessary procedures will be described in the
sequence in which they are employed. This is to

3.3 Sampling of Pore Water for ex situ Measurements
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say, that we will begin with the filled tubes of the
multicorer, the high-momentum gravity corer, or
the meter-sized pieces of the gravity corer or pis-
ton corer. The entire processing steps described
in the following for the core material should be
performed at temperatures which should be kept
as close as possible to the temperatures prevailing
under in situ conditions.

In this context, the problem needs to be dealt
with as to how long a tightly sealed core, which is
exposed to the in situ temperature all the while,
can be left to itself before it is processed without
the occurrence of any essential perturbation in the
pore water fraction. In order to extract pore water
from a sediment core, such as is shown in Figure
3.1, and subsequently analyze and preserve it,
even a practiced team would require several days.
In most cases, a compromise needs to be found
therefore, between the highest number of samples
and most rapid processing.

A special situation prevailed in the case of the
core shown in Figure 3.1, as the ship was cruising
for a relatively long time after the core had been
taken. Then the experiment was conducted that
led to the results shown in Figure 3.1. The core
was analyzed with an almost unusual high
sampling density. As these procedures afforded
plenty of time, and since it was unsure whether
the pore water of the sediment core, which was
stored at in situ temperature in the meantime,
would change within the prospective processing
time of ten days, the single pieces measuring one
meter were intentionally not analyzed in a depth
sequence, but in a randomized sequence. There-
by, the variations in the processing time had to
become reflected as discontinuities in the corres-
ponding data at the end of each meter interval.
This had not been the case at either interval, from
which it follows that a processing time of 10 days
was obviously quite innocuous to the quality of
the samples.

Analysis of Dissolved Gases

For some substances dissolved in pore water
everything will be too late for a reliable analysis
as soon as the sediment core lies freshly, but in a
decompressed state, on the deck of the ship. This
holds true predominantly for the dissolved gases.

In this respect, dissolved oxygen is relatively
easy to manage, a circumstance which becomes
evident upon comparing the in situ oxygen profile
with the ex situ profile, both measured at the same

sites (shown in Fig. 3.12). The reason for this
similarity is that the relatively low concentrations,
that are often below the saturation level, do not
significantly assume a condition of oversaturation
even after decompression. Notwithstanding, the
results shown in Figure 3.12 reflect the situation
too favourably, because differences of up to a
factor of 2 were also observed between in situ and
ex situ conditions with regard to the penetration
depth of oxygen, and thus to the corresponding
reaction rates as well. As to what extent these
differences between in situ and ex situ conditions
really exist, or whether such differences result
from measurements carried out at not exactly
identical sites, has not yet been sufficiently inve-
stigated.

The case is obviously similar for dissolved
carbon dioxide whose concentration is essentially
determined by the equilibrium of the aquatic
carbonate phases. As for the alkalinity, no remar-
kable variations were found in measured values,
even at high concentrations, when the measure-
ments were performed successively on adjacent
parts of the same sediment core (cf. alkalinity
profile shown in Fig. 3.1).

The measurement of sulfide is much more
troublesome, especially at high concentrations (It
should be noted that H2S is strongly toxic and
that one can become quickly accustomed to its
smell after prolonged presence in the laboratory.
When working with sulfide-containing core mate-
rial the laboratory should be ventilated tho-
roughly at all times!). As a general rule, every-
thing already perceived by its smell is already lost
to analysis. Since sulfide is readily analyzed by
various methods in aqueous solution, most errors
arise from decompression of the core and the
subsequent separation of pore water from the
sediment. As soon as decompression begins, a
great quantity starts to degas, initially forming a
finely distributed effervescence. In this condition,
measurements can mostly still be carried out,
however with less satisfactory results, provided
that a specific volume of water-containing degas-
sed sediment is punched out with a syringe and
immediately brought into an alkaline environment
(SAOB = Sulfur Anti-Oxidizing Buffer with pH >
13, after Cornwell and Morse 1987).

Even more difficult is the sampling and the
analysis of sediments with a marked content of
methane gas. In this particular case, a conside-
rable amount of degassing of the sample occurs
immediately upon decompression, thus not
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permitting the measurement of the concentrations
afterwards which are oversaturated under condi-
tions of normal atmospheric pressure.

The results of measurements carried out on a
core with high sulfide and methane concentrations
are shown in Figure 3.14. The material was ob-
tained in 1300 m deep water, in a high productivity
zone of upwelling off the coast of Namibia. It can
clearly be seen that in the depth zone of sulfate
reduction, methane moving upwards meets with
the downwards-diffusing sulfate, both substances
displaying almost identical flux rates. These
processes are dealt with more thoroughly in Chap-
ter 8; at this point, just the sampling at the site of
the core and the analytical sample treatment will
be discussed.

As for both substances, sulfide and methane,
concentrations found in the core are similar to that
of sulfate. For the purpose of sampling, small
‘windows’ (2 x 3 cm) were cut into the plastic
liners with a saw, immediately after the meter-long
segments from the gravity corer were available. In
each of these windows, 2-3 ml samples of fresh
sediment were punched out with a syringe. For the

determination of sulfide some of these sufficiently
undisturbed partial samples were placed into a
prepared alkaline milieu (see above, SAOB); for
the determination of methane others were
transferred directly to head space vials. The head
space vials comprising a volume of 50 ml contai-
ned 20 ml of a previously prepared solution of 1.2
M NaCl + 0.3 M HgCl2. The analysis of sulfide was
performed by measuring the sample with an ion-
selective electrode, whereas methane analysis was
done in the gaseous volume of the headspace
vials by gas-chromatography.

It is noticeable that the values in the profiles
hardly scatter at the somewhat lower concen-
trations (about 4 mmol/l for methane and 7 mmol/l
for sulfide, respectively). The values of the higher
concentrations obtained in greater depths scatter
more strongly and are altogether far too low. This
became evident since the highest methane
concentration is to be found in a sample that was
not obtained from an extra sawed-out ‘window’,
but from one that was previously taken directly
from the core catcher at the lower open end of the
core. As to the question concerning the potential

Fig. 3.14 Concentration profiles of pore water from anoxic sediments obtained from an upwelling area off Namibia
at a water depth of approximately 1300 m. The analysis of sulfide and methane was carried out in samples that were
punched out with syringes from small and quickly sawed-out ‘windows’ in the fresh sediment core. As for sulfide, these
syringe-drawn samples were brought into an alkaline environment, whilst for methane analysis the samples were stored
in head space vials for subsequent gas-chromatography analysis. The arrow points to a methane sample that originated
from a sealed sediment core obtained by using a sample from the ‘core catcher’ (after Niewöhner et al. 1998).
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electron donor for sulfate reduction it was, how-
ever, of particular importance that methane could
be reliably determined up to a concentration of 2-
3 mmol/l, and that the upwards directed gradient
reached into the zone of the reaction.

Opening and Sampling a Core under
Inert Gas inside the ‘Glove Box’

In order to extract the pore water from the
sediment, the next step consists in opening, or
rather cutting the meter-long segments previously
excised from the sediment in a lengthwise fashion.
In the case of multicorer or high-momentum gravi-
ty corer, the cores are pushed upwards by using
an appropriate piston. Caution should be taken
that anoxic sediments (easy to identify: if uncer-
tain, everything that is not distinctly and purely
brown in color) must not, by any means, come into
contact with an oxygen-containing atmosphere in
the course of sampling. Therefore the opening of
the core segments must happen in an inert atmo-
sphere, or, as the case may be, the core must be
pushed from below into the ‘glove box’ where

such an atmosphere is maintained. A ‘glove box’
that suits the purpose and that can also be easily
self-made and adapted to the requirements of the
prevailing conditions is described by De Lange
(1988).

The inert gases of higher molecular weight, as
well as nitrogen, are suited for maintaining the
desired inert gas atmosphere. As for nitrogen it
must be considered that the least expensive
version of the gas does not contain sufficiently
low amounts of oxygen. Argon is often more use-
ful, as ordinary argon that is used for welding
usually has sufficiently low oxygen. A slight
excess pressure in the ‘glove box’ maintains that,
in the event of small leakage, the dissipation of
gas might increase, yet the invasion of oxygen is
securely prevented.

Measurement of EH and pH
with Punch-in Electrodes

In the glove box, the redox potential (EH-value)
and the pH value should be measured by applying
punch-in electrodes directly to the freshly cut
core surface. Suitable electrodes are available
today from most suppliers because they are, for
example, quite often used in the examination of
cheese. However, there is a risk that the electrodes
become damaged when larger particles or soli-
dified kernels are present in the sediment sample.

The measurement of the pH-value is relatively
easy to do since the function of the electrode can
be checked repeatedly with the aid of appropriate
calibration solutions. However it must merely be
taken into consideration that the comparison with
in situ measurements close to the sediment
surface (cf. Sect. 3.5) may not necessarily lead to
corroborated values, because the decompression
within the core material has an immediate effect on
the pH-value as well.

The redox potential (EH-value in mV) is con-
sidered as a quite troublesome and controversial
parameter, with regard to the actual measurement
and to its consequences as well. The electrodes
available for this purpose cannot be checked with
calibration solutions. The occasionally mentioned
calibration solutions that function on the basis of
divalent and trivalent Fe-ions are not satisfactory,
since they actually just confirm the electrode’s
electric functioning and, at the same time, ‘shock’
the electrode to such a degree that it may remem-
ber the value of the calibration solution for
several days to come. The method of choice can

Fig. 3.15 Redox profile (EH in mV) for the same core as
shown in Figure 3.14. Values varying approximately +/- 30
mV must be allowed, whereas an otherwise plausible profile
is measured in coherence to the prevailing redox processes.
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only consist of using well polished Pt-electrodes
and of being continually aware of the plausibility
and variation of the measured values. Whenever
necessary, the electrode must be substituted for
another well-polished Pt-electrode. Useful recom-
mendations as to the redox potential and its
measurement are described by Kölling (1986, 2000)
and by Seeburger and Käss (1989). A compilation
of fundamentals, processes and applications of
redox measurements in natural aquatic systems
was published by Schüring et al. (2000). A mea-
sured EH-profile is shown in Figure 3.15 for the
same core as was shown in the previous Figure
3.14. It can be seen that the values scatter by
approximately +/- 30 mV, but that otherwise a
reasonable profile has been measured that is likely
to contribute to an understanding of the redox
processes occurring in the sediment.

Extraction of Pore water

For extracting pore water from the sediment,
various authors have developed appliances that
all have a common design (e.g. Reeburgh 1967;
De Lange 1988; Schlüter 1990). In each case, a
sediment sample volume of 100 - 200 ml is trans-
ferred into a container made of PE or PTFE which
has on the bottom side a piece of round filter foil
(pore size: 0.1 - 0.2 µm) measuring 5-10 cm in
diameter. On top, the sample is sealed with a rub-
ber cover onto which argon or nitrogen is ap-
plied at a pressure of 5-15 atm. The sediment
sample is thus compacted and a part of the pore
water passes downwards through the filter layer.
By this method, a pore water sample comprising
30 - 50 ml can easily be obtained from the water-
rich and less solid layers lying close to the
sediment surface (Figure 3.16).

It might make sense, in case of anoxic sedi-
ments, to load the extractor in an inert atmosphere,
or even better, to carry out the whole procedure in
the glove box under these conditions. This be-
comes inevitable if, for instance, divalent iron is to
be analyzed. The question of how fast this pore
water sample needs to be analyzed for single con-
stituents, will be discussed further in Section 3.4.

Certain losses of CO2 from the sample into the
inert atmosphere of the glove box, and due to that,
an increase of pH and a precipitation of calcite
seem to be inevitable. Only the combined in situ
measurement of pH, CO2 and Ca2+ will lead to a
reliable measurement of the calcite-carbonate-
system.

Fig. 3.16 Extractor used for the preparation of pore
water from low density sediments (modified after Schlüter
1990) .
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Fig. 3.17 Comparison of analyses after the preparation of pore water by compression and centrifugal extraction. In principle,
there are no observable differences. The larger variation of the sulfide values might be attributed to the decompression of the core
and/or might have occurred upon mounting the sediment into the press or into the centrifuge (after Schulz et al. 1994).
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It should be noted that the choice of the filter
used in the extraction procedure will determine
what will be evaluated as dissolved constituent
and what will be evaluated as particle or solid
sedimentary phase. The entire field of colloids
which had not yet been investigated thoroughly
for marine sediments will therefore be either eva-
luated as part of the solid phase, or as dissolved
constituents, depending on the analytical method
employed, for instance, whenever this fraction is
eliminated by the addition of hydrochloric acid.
With respect to the available and customary
methods, a lot of work still remains to be done on
this subject.

Centrifugal Extraction of Pore water

Centrifugal extraction of pore water from sedi-
ments is a procedure not very frequently per-
formed although it appears rather easy at first ex-
amination. Anoxic sediments must be loaded into
tightly sealed centrifugation tubes, to be filled
and capped under the inert atmosphere conditions
of a glove box. But as these plastic tubes are often
not sufficiently air-tight, the invasion of ambient
air might affect the sample. Moreover, a cooling
centrifuge must be regularly employed, since hea-
ting the sediment above the in situ temperature is
by no means desirable. According to the opinion
of most workers, the operation of a centrifuge on
board a ship is rather troublesome and, most
frequently, leads in various ways to the reception
of high repair bills.

In the course of centrifugation, the sediment
will be compacted in such a manner that a
supernatant of pore water can be decanted.
Generally, less pore water is gained as compared
to pressure exertion. At any rate, the water must
be passed through a filter possessing a pore-size
of 0.1 to 0.2 µm. As for anoxic sediments, all these
steps must be carried out inside the glove box and
under an inert atmosphere. The measurements
comparing centrifugal extraction and pressing
techniques, which have been done so far, indicate
that both methods yield quite identical values (see
Fig. 3.17).

Whole Core Squeezing Method

A simple method of pore water preparation from a
sediment core that is still kept in a plastic liner has
been described by Jahnke (1988). In this method,
which is also suitable for employing on anoxic

sediments, holes are drilled into the tubes used in
the multicorer, high-momentum gravity corer, or
for a partial sample derived from the box corer.
These holes are sealed prior to core sampling with
plastic bolts and O-rings. As soon as the tube is
filled with the sediment core, the device is
mounted solidly permitting a piston from above
and below to hold the core into position. Then,
the prepared drainage outlets are opened and
sample ports mounted to them, through which the
pore water is drained off and passed through a
filter. If the core is compressed either by the
mechanical force of the pistons, or by infusion of
gas, the filtered pore water runs off through the
prefixed apertures and can be collected without
coming into contact with the atmosphere, provi-
ded that such precautions were taken. Jahnke
(1988) compares concentration profile examples of
pore water obtained by the application of this
method with pore water extracted centrifugally.
Within the margins of attainable precision, these
profiles must be conceived as truly ‘identical’.

Pore-Water Extraction with Rhizons

Rhizons were originally developed to gain pore
water samples which were then used to analyze
the moisture of water in unsaturated soils (Meij-
boom and van Nordwijk 1992). A rhizon is sup-
posed to function like an artificial root of a plant,
hence its name is derived from ‘rhiza’, the Greek
word for root. The device consists of thin tubes
of various lengths (several cm) measuring
approx. 2.5 mm in diameter. They are closed on
one end and possess a connector on the other,
over which a negative pressure is built up inside
the tube. The tube material consists of a
hydrophilic porous polymer, with a pore diameter
of about 0.1µm. The actually quite instable tube
is reinforced by an inserted piece of wire made of
inert metal or durable plastic, allowing it to easily
penetrate the soil or a sediment from the outside.
In case of hard soils or sediments, a hole must
first be punctured with a similarly shaped piece
of metal or durable plastic.

The special property of the hydrophilic porous
polymer is that, after short soaking in water, it
becomes permeable to water - but not to air - once
a vacuum is applied inside. Wherever the rhizon
and the pore water come into contact, the nega-
tive pressure will draw the water into the interior,
without allowing air to enter or destroy the vacu-
um. The water thus drawn inside will be simul-

3.3 Sampling of Pore Water for ex situ Measurements
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taneously filtered through the 0.1µm wide pores,
permitting its analysis without further treatment.

Seeberg-Elverfeldt et al. (2005) applied rhizons
for the first time in marine environments and
obtained very good results. Figure 3.18 shows two
different application modes. The upper part of
Figure (A) outlines three different possibilities
how the vacuum may be generated. First, the out-
side connector of the rhizon can be equipped with
a hypodermic needle which is punctured through
a rubber seal into a previously evacuated glass
vessel. This glass vessel will later contain the
pore water being drawn into it. The vacuum can
also be generated by means of a disposable sy-
ringe or a peristaltic pump. The lower part of
Figure 3.18 demonstrates various modes of
application, (B) on an open core section, (C)
laterally inserted into a multicorer tube through
small apertures, and (D) directly inserted into a
naked sandflat sediment at low tide.

Previous applications of rhizons produced
pore-water analyses which were very similar to
those of compressed pore-water samples, except
for the phosphate concentrations which were sig-
nificantly higher when rhizons were used. This
agrees with the observations made by Jahnke et

al. (1982) upon drawing in situ samples with a
harpoon sampler (cf. Section 3.3.1) and indicates
that using rhizons to extract pore water obviously
comes closer to the conditions in situ than by
pressing or centrifugation. The method of extrac-
ting pore water with rhizons not only seems to be
easier, but better as well.

Rhizons are manufactured and distributed by
Rhizosphere Research Products (Dolderstraat 62,
NL-6706 JG Wageningen, The Netherlands) or
Eijkelkamp (P.O. Box 4, NL-6987 ZG Giesbeek, The
Netherlands). Their price is markedly higher as
compared to filters used for pressing pore water
out of a sediment sample, however, they can be
used more than just once. Special sizes and con-
nectors will be supplied, if a larger number of
pieces is ordered.

Sediments as yet Impossible to Sample

Whatever has been said so far as to the separation
of pore water from sediments holds true only for
fine-grained material that is, in most cases, still quite
rich in water. Fortunately, this is what most marine
sediments and almost all deep-sea sediments are.
However, sediments consisting of pure sand might

Fig. 3.18 Extraction of pore water from marine sediments with rhizons. (A) Basic construction of a rhizon
including three different techniques to apply a vacuum. (B) Insertion into an opened core section. (C) Insertion into
a multicorer core. (D) Application in the intertidal flat region, from the sediment surface (from: Seeberg-Elverfeldt
et al. 2005).
.
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give rise to problems (e.g. sands from the shelf or
purely foraminiferal sands on the mid-ocean ridge).
The reason for this is, first of all, that these sedi-
ments cannot be compacted by pressure exertion or
centrifugation. Consequently, practically no water
can be obtained from them at all. It is of even more
importance that these sediments possess a high
degree of permeability so that as soon as the corer is
raised out of the water, the pore water (and some-
times the core material as well) is spilled out from the
bottom. A simple method for the extraction of pore
water from coarse, sandy material by centrifugation
is described by Saager et al. (1990). However, this
technique does not solve the problem of how to
bring a specimen of sand and its pore water into a
centrifuge unperturbed. Only the water which is
present at the sampling site at a certain point in time
can be collected, even if the abovementioned
rhizons are applied. However, it must not be the
same water which had been in situ at this location.

In situ measurements of pH-values and oxygen
with the aid of landers are certainly still possible (cf.
Sect. 3.5). But since the thin electrodes are likely to
break off upon examining such material, these
sediments are not very much favoured. Fortunately,
this particular sediment type often contains only a
small amount of decomposable organic matter, so
that the biogeochemical processes of diagenesis do
not display reaction rates as high as other sediment
types. Upon sparing these sediments, the pore water
geochemist usually suffers no great loss.

3.3.3 Storage, Transport and Preservation
of Pore Water

In this section, the vessels in which the pressed
or centrifuged pore water is kept until the time for
analysis arrives will be briefly discussed. In
Section 3.4 it will also be considered, in connec-
tion with the analytical methods, how much time
one may allow to pass between pore water pre-
paration and analysis. Hence the decision de-
pends on whether immediate analysis is neces-
sary, or whether the analyses can be made at a
later time, provided that an appropriate preser-
vation of the material has been accomplished.

Vessels, Bottles

Bottles made of polyethylene have proven to be
quite useful for the storage of filtered pore water
samples. In most cases the disposable 20 ml PE-
bottles which are used in scintillation measure-

ments are very much suited to the purpose. These
bottles need not be cleaned prior to use, but are
just briefly rinsed with the first milliliters that run
out of the press or the rhizon. A second use does
not really make sense considering the low price of
these bottles and the obligatory amount of work
effort and detergent to be invested in their
cleaning. If several bottles are to be used for the
storage of one and same sample, for instance
when the sample volume is rather large due to
water-rich sediments, precautions should be taken
to be sure that the entire sample amount is homo-
genized prior to the analytical measurements,
since differences in contrations between the first
and the last drop of pore water are possible.

Preservation of Pore water Samples

Only the alkali-metals, sulfate, and the haloge-
nides do not require any preservation of the sam-
ples prior to their analytical measurement at a later
date. Otherwise, pore water samples that are not
to be analyzed immediately can be preserved with
regard to some dissolved substances, allowing a
delayed analysis.

The concentrations of most cations - as long
as different valences of iron, for instance, are not
to be determined - are measurable after a longer
period of time when the samples’ pH is lowered by
the addition of acid (mostly HNO3) to a value of at
least pH 2 or pH 3. Care should be taken that a
sufficient amount of ‘suprapur’ quality acid is
added. The required amounts can vary consi-
derably depending on the alkalinity of the sample.
Usually, concentrated acid will be used in order to
prevent unnecessary dilution of the sample. It is
also important that the sample has been previ-
ously passed through a filter of 0.1 - 0.2 µm pore-
size, since the acid will dissolve all particles (and
certainly the colloids that pass the filter as well).

As for the substances that are altered in their
concentration by microbial activity, the toxifi-
cation of sample is recommended. Mercury (II)
salts are not very much favored since the hand-
ling of these extremely toxic substances - which
are toxic also to man - requires special precaution
measures. Chloroform is banned from most labo-
ratories because it is considered as particularly
carcinogenic. Thus, only the solvent TTE
(trifluorotrichloro-ethane) remains which is fre-
quently used in water analyses. The addition of
one droplet usually suffices since only a small but
sufficient proportion dissolves whereas the rest

3.3 Sampling of Pore Water for ex situ Measurements
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remains at the bottom phase of the bottle. Even
though the compound is not as toxic in humans as
those previously mentioned, no one would think
of pipetting the sample thus (or otherwise) treated
by mouth. It is anticipated that these toxified sam-
ples have a shelf-life of about 4 weeks.

Previously, water samples were often frozen.
This procedure is not at all suited for marine pore
water because mineral precipitations might occur.
These precipitations do not become soluble upon
thawing the samples, hence the pore water sam-
ples have become irreversibly damaged.

3.4 Analyzing Constituents in
Pore Water, Typical Profiles

This section does not claim to re-write the ana-
lytical treatment of sea water anew, nor is it
intended to present this aspect as a mere recapi-
tulation of facts which will be far from being
complete. This task would by far exceed the possi-
bilities and, above all, the scope of this book.
However, analytical methods are subject to con-
tinual improvement and relatively fast changes so
that many of the methods to be introduced here
would soon become outdated. Therefore, only a
short account of the current methods will be
given, especially of those that demand comment
on the specificity to marine pore water.

The analytical details of methods that are cur-
rently used in the examination of marine pore
water can be looked up in the internet under the
following address:

http://www.geochemie.uni-bremen.de

We will take it upon ourselves to continually up-
date the internet page, to evaluate the suggestions
we receive for improvement, and eventually make
this information available to other researchers.

If we take for granted that, in each single case,
the determination of oxygen dissolved in marine
pore water, as well as the measurement of the pH-
value, EH-value, and certainly the measurement of
the temperature as well, has already been perfor-
med, the following sequence of single analytical
steps is applied to the pressed or centrifuged pore
water samples:

•    The titration of alkalinity must be carried out
as quickly as possible, i.e., within minutes or

maximally within one hour, as a replacement
to the direct determination of carbonate. Es-
pecially when high alkalinity values are
present (maximal values up to 100 mmol(eq) l-1

are known to occur in pore water, whereas
sea water contains only about 2.5 mmol(eq) l-1),
the adjustment to atmospheric pCO2 might
induce too low alkalinity values due to preci-
pitation of calcite within the sample.

•    If sampling for methane and sulfide has been
performed as described above (see Sect. 3.3.2
‘Analyses of Dissolved Gases’), the analyti-
cal measurement of the already preserved
samples does not have to take place imme-
diately within the first few minutes. Yet, the
analysis should not be deferred for more than
a couple of hours.

•   Analyzing compounds that are sensitive to
microbial action (phosphate, ammonium,
nitrate, nitrite, silica) should always be
completed approximately within one day, if
the samples were not preserved by the addi-
tion of TTE (trifluorotrichloroethane). Even in
its preserved state, it is not recommended to
store the sample for longer than four weeks.
Storage is best in the dark at about 4°C; free-
zing the samples is not recommended.

•     The determination of sulfate and halogenides
is not coupled to any particular time. It must
be ascertained that no evaporation of the
sample is likely to occur. Other instances of
sample perturbation are not known. Storage
is best at about 4°C; freezing the samples is
not recommended.

Photometrical Determinations, Auto-Analyzer

Most procedures for photometric analysis of sea
water samples were described by Grasshoff et al.
(1999). Owing to the quicker processing speed,
and especially the need to apply lower amounts of
sample solution, one would generally employ the
auto-analyzer method to this end. The method is
also described in the aforementioned textbook.
The auto-analyzer can be either self-built or may
be purchased from diverse commercial suppliers
as a ready-to-use appliance. The analysis of
marine pore water is generally characterized by
small sample volumes and, as for some parameters,
concentrations that are distinctly different from
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sea water. Allowing for these limitations, the
recipes summarized under the above internet-
address have proven quite useful for the deter-
mination of phosphate, ammonium, nitrate, nitrite,
and iron(II) in pore water.

Figure 3.1 shows the characteristic profiles of
ammonium and phosphate concentrations that
were measured by photometrical analysis of pore
water obtained from reactive sediments posses-
sing a high amount of organic matter. Both para-
meters demonstrate quite similarly shaped curves
compared to alkalinity. Here, the ratio of the con-
centrations derived from both profiles lies close to
the C:N:P Redfield-ratio of 106:16:1 and clearly
documents their release into the pore water due to
the decomposition of organic matter. A typical
photometric nitrate profile in reactive sediment
zones near the sediment surface is shown in the
quantitative evaluation of fluxes and reaction
rates presented in Figure 3.7.

Alkalinity

Usually, alkalinity is actually the ultimate para-
meter that is subject to a procedure of ‘genuinely
chemical’ titration, in this regard as a proxy
parameter for carbonate. A new spectropho-
tometric method for the determination of alkalinity
was proposed by Sarazin et al. (1999). Mostly,
alkalinity will be, for reasons of simplification, set
equal to the total carbonate concentration, al-
though a number of other substances in pore
water will contribute to the titration of alkalinity as
well. Most geochemical model programs (cf. Chap.
15) foresee the input of titrated alkalinity as an
alternative to the input of carbonate. The model
program will than calculate the proportion allo-
catable to the different carbonate species.

Another problem arising from titration of alka-
linity in a pore water sample usually consists in
the fact that samples with very small volumes
cannot easily be used. Most ocean chemists will
be accustomed to the titration of a volume of 100
ml, or at least 10 ml. Under certain circumstances,
a pore water sample obtained from a definite depth
might contain in total not more than 10 ml, hence,
at best, merely 1 ml needs to be sacrificed for the
titration of alkalinity. This requires that markedly
pointed and thin (thus easily breakable) pH-
electrodes are used. These are immersed, together
with an electronically controlled micropipette, into
a small vial so that a tiny magnetic stirrer bead still
has enough room to fit inside as well.

Mostly, an adequate amount of 0.001 M
hydrochloric acid will be added to a previously
pipetted volume of 1 ml, thus the pH will be
brought to a value of about 3.5. Since the dilution
of the pre-pipetted volume must be considered,
the alkalinity (Alk) is calculated according to the
following equation:

Alk = [(VHCl·CHCl) - 10-pH · (V0+VHCl) · fH+
-1] · V0

-1

(3.29)

in which VHCl describes the volume of added
hydrochloric acid, CHCl represents the molality of
the added hydrochloric acid, pH denotes the pH
value the solution attains after the addition of
hydrochloric acid, V0 is the pre-pipetted sample
volume, and fH+ the activity coefficient for H+-Ions
in solution. The activity coefficient fH+ can be
determined according to the method described by
Grasshoff et al. (1999), or calculated by employing
a geochemical model (e.g. PHREEQC, cf. Chap. 15).
The Equation 3.29 was also formulated in the first
edition of the textbook published by Grasshoff et
al. (1983) [equation 8-25 on page 108]. It must be
pointed out that a very misleading error has unfor-
tunately found its way into the equation in this
reference. This error is hardly noticeable when low
concentrations are prevalent in ocean water, or
when the sample volumes are comparably large. In
the case of high concentrations in combination
with small sample volumes, however, alkalinity
values will be calculated that are prone to an error
of more than a factor of 2. For this reason, the
equation is presented here in its correct form.

Flow Injection Analysis

A very interesting method to analyze total carbon
dioxide and ammonium in pore water was intro-
duced by Hall and Aller (1992). In this method, a
sample carrier stream and a gas receiver stream flow
past one another, separated only by a gas-permeable
PTFE (Teflon®) membrane. For determining the total
CO2 , the sample carrier stream consists of 10-30 mM
HCl. To this stream, the sample in a volume of about
20 µl is added via a HPLC injection valve. The
carbon dioxide traverses the PFTE membrane and
enters the gas receiver stream which, in this case,
consists of 10 mM NaOH. The CO2 taken up by the
gas receiver stream causes an electrical conductivity
change that can be determined exactly in a micro-
sized continous flow cell.

3.4 Analyzing Constituents in Pore Water, Typical Profiles
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For the analysis of ammonium, the sample car-
rier stream consists of 10 mM NaOH + 0.2 M Na-
citrate. This converts ammonium into NH3-gas
which penetrates the PTFE membrane and travels
into the gas receiver stream, in this case consis-
ting of 50 µm HCl. Here as well, an electric
conductivity cell is used for the measurements. To
provide a steady and impulse-free flow of the
solutions, a multichannel peristaltic pump is used.
The flow rates in both cases were set to approx.
1.4 ml min-1.

These very reliable and easy to establish ana-
lytical procedures for the determination of these
two important parameters of marine pore water are
of special interest, because they require only small
sample amounts and because a reliable analysis is
obtained over a broad range of concentrations.

Ion-selective Electrodes

Ion-selective electrodes were accepted in water
analysis only with great reluctance, despite of the
advantages that had been expected on their intro-
duction about 20 years ago. The reasons for this
were manifold. The analytical procedure is inex-
pensive only at first sight. As has been confirmed
for some electrodes (especially when its handling
is not always appropriate), aging sets in soon
after initial use which becomes noticeable with
decreased sensitivity, low stability of measured
values, and prolonged adjustment times.

With regard to marine pore water, ion-selective
electrodes were successfully applied in the deter-
mination of fluoride (standard addition method) and
in the analysis of sulfide within a mixture of sediment
and pore water processed into SAOB-buffer (cf.
Sect. 3.3.2). Figure 3.1 shows a typical profile of
fluoride measured with an ion-selective electrode in
pore water. The total sulfide profile shown in Figure
3.14 was measured in the way described above, by
using an ion-selective electrode. The measured
values occasionally display considerable variations,
probably on account of the sediment’s decom-
pression and thereafter they might be produced
upon withdrawing the sample from the core. They do
not necessarily come about during the course of the
analytical measurement.

Ion-Chromatography

The analysis of chloride and sulfate in marine pore
water samples after an approximately 20-fold dilu-
tion is a standard method for normal ion-chroma-

tography (HPLC), so that no further discussion is
needed here. Considering the very dilute sample
solution and the low sample amount required in
ion-chromatography, the applied quantity of
pressed or centrifuged pore water is negligibly
small. However, the high background of chloride
and sulfate which is due to the salt content in sea
water prevents, with or without dilution, the
determination of all other anion species by ion-
chromatography. The sulfate profiles measured
with this method are shown in the Figures 3.1, 3.6,
and 3.14. Since the chloride profiles are mostly not
very interesting, because they reflect practically
no early diagenesis reactions at all, they can be
consulted for control and eventually for cor-
rection of the sulfate profiles, whenever analytical
errors have emerged in the course of their con-
comitant determination, e.g. due to faulty
dilutions, or mishaps occurring in the injection
valve of the machinery.

ICP-AES, AAS, ICP-MS

Generally the alkali metals (Li, Na, K, Rb, Cs), the
alkali earth metals (Mg, Ca, Sr, Ba) and other
metals (e.g. Fe, Mn, Si, Al, Cu, Zn, Cr, Co, Ni) are
determined in the acid-preserved pore water
samples. Analytical details depend on the special
conditions provided by the applied analytical
instruments ICP-AES (Inductively Coupled Plasma
Atomic Emission Spectrometer), ICP-MS
(Inductively Coupled Plasma Mass Spectrometer),
or AAS (Atomic Absorption Spectrometer) of the
respective laboratory. A discussion of details is
not appropriate in this chapter. In most cases
dilutions of 1:10 or 1:100 will be measured
depending on the salt content in marine envi-
ronments, so that the required sample amounts are
rather low.

Gas-Chromatography

The quantification of methane with the aid of gas
chromatography (FID-detection) is an excellent
standard method, which therefore does not need
any further discussion. The main importance is
the immediate withdrawal of a sediment/pore water
sample as already mentioned in Section 3.3.2. This
sample is placed into a 50 ml-headspace vial with a
syringe in which the sample is combined with 20
ml of a prepared solution of 1.2 M NaCl + 0.3 M
HgCl2. After equilibrium is reached in the closed
bottle between the methane concentration in the
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gaseous phase and its concentration present in
aqueous solution (at least one hour), the gas
phase is ready to be sampled by puncturing the
rubber cap that seals the vial with a syringe.

3.5 In-situ Measurements

The desire to measure the properties of a natural
system, or profiles of properties, in situ, appears
to be obvious whenever the system becomes sub-
ject to a change as a result of the sample collec-
tion procedure. In principle, this is applicable to
many aquatic geosystems. Especially where solid
and aquatic phases come together in a limited
space, this boundary constitutes the site of
essential reactions. Such a site is the surface
boundary between bottom water and sediment. An
essential biogeochemical process of early dia-
genesis is exemplified by the permeation of
oxygen into the young sediment by diffusion, but
also by the activity of organisms. The oxygen in
the sediment reacts in many ways (cf. Chaps. 5
and 6). In part, the oxygen is depleted in the
course of oxidizing organic matter, in part, upon
re-oxidizing various reduced inorganic species
(e.g. Fe2+, Mn2+).

In organic-rich and highly reactive sediments,
the depletion of oxygen previously imported by
means of diffusion already occurs in the
uppermost millimeters of the sediment (cf. Sect.
3.5). However, these organic-rich and young
sediments are mostly extremely rich in water
(porosity values up to 0.9) and very soft, so that
every sample removal will most likely induce a
perturbation of the boundary zone which is, in a
crucial way, maintained by diffusion.

Moreover, the actively mediated import of
oxygen into the young sediment, which runs
parallel to diffusion, and which is transported by
the organisms living therein, will function
‘naturally’ only as long as these organism are not
‘unnaturally’ treated. Any interference caused by
sampling is certain to be regularly coupled to a
change of temperature, pressure and the quality of
the bottom water, and thus means a change in the
‘normal’ living conditions. Here as well, it is of
special interest to measure the active import of
oxygen into the sediment governed by biological
activity in situ. (cf. Sect. 3.6). An overview of the
literature references and the state of knowledge
related to the in situ measurement methods and

Fig. 3.19 Schematic representation of a Lander System
which is also used in the deep sea. The machinery sinks
freely, without any attachment, to the ocean floor where it
carries out measurements and returns back to the surface after
the release of ballast. The depicted version stands about 2-3
m in height. It is designed to conduct incubation experiments
at the ocean floor, yet similar landers are used to record/
monitor in situ microprofiles of the oxygen concentration
through the sediment/bottom water boundary layer. The per-
spective shows only two of the three feet upon which the
lander stands (after Jahnke and Christiansen 1989).
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techniques applied to capture the biogeochemical
processes in the water/sediment transition zone
has been provided by Viollier et al. (2003).

3.5 In situ Measurements
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Lander Systems

In some very shallow waters the in situ measu-
rement at the sediment/bottom water boundary
might be achieved from a ship, or by using light
diving equipment. However, so-called ‘Lander
systems’ have been developed for applications in
greater depths and, above all, in the deep sea.
Lander systems are deployed from the ship and
sink freely, without being attached to the ship,
down to the ocean floor where they softly ‘land’.
Standing on the bottom of the ocean they
conduct measurements (profiles with microelec-
trodes), experiments (in situ incubations), and/or
remove samples from the sediment or the bottom
water. When the designated tasks are completed,
ballast is released and the whole system emerges
back to the surface to be taken on board.

The lander technique described above is,
especially in the deep sea, more easily outlined in
brief theory than to put into operation, as the in-
volved workers need to invest a considerable

amount of construction effort and operational
experience in the lander systems so far used.

The problems which cannot be discussed here
in detail consist of, for example, deploying the de-
vice into the water without imparting any damage
to it, conducting the subsequent performance of
sinking and landing at the proper speed, keeping
the lander in a proper position, recording and
storing the measured values, the timing of ballast
release and thus applying the correct measure of
buoyancy all the way up to the ocean’s surface,
and finally, the lander’s retrieval and ultimate
recovery on board of the ship. The correct per-
formance of the in situ measurements is not even
mentioned in this enumeration. In Figure 3.19
such an appliance is shown according to Jahnke
and Christiansen (1989) which is very similar to
the lander used by Gundersen and Jørgensen
(1990) as well as Glud et al. (1994). A survey and
comparative evaluation of 28 different lander
systems is given by Tengberg et al. (1995) who
also delivers an historical account on the deve-
lopment of landers. One of the first publications

Fig. 3.20 Construction of an oxygen electrode equipped with a Guard-cathode (after Revsbech, 1989).
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on the measurements of oxygen microprofiles in
sediment/bottom water boundary layers of the
deep sea is the report by Reimers (1978). Jørgen-
sen and Revsbech (1985), subsequently, Archer et
al. (1989) and Gundersen and Jørgensen (1990)
were the first to measure a diffusive boundary
layer using landers. The first in situ incubations
using a lander were carried out by Smith Jr. and
Teal (1973).

Profiles with Microelectrodes

A profile measured in situ with an oxygen
microelectrode has already been presented and
quantitatively evaluated in Figure 3.5. Such mea-
surements became feasible only after oxygen
electrodes had been developed that could mea-
sure oxygen concentrations at the sediment/
bottom water boundary layers with a depth
resolution of about 20 to 50 µm. It is also impor-
tant to note that the measurement is carried out
without being influenced by the oxygen depletion
of the electrode. The development of the electro-
des is closely linked to the name of N.P. Revsbech
(Aarhus, Denmark) and is described in the publi-
cations of Revsbech et al. (1980), Jørgensen and
Revsbech (1985), Revsbech and Jørgensen (1986),
Revsbech (1989) and Kühl and Revsbech (2001).

The basic construction principle underlying
the function of an oxygen microelectrode is shown
in Figure 3.20, after a publication by Revsbech
(1989). It is evident that such an electrode cannot
be built without considerable practiced skill and
experience - and they have to be either self-made
or purchased at a rather high price. It is further-
more evident that such microelectrodes are ex-
tremely sensitive and break easily as, when they
either hit a rather solid zone in the sediment,
contain slight imperfections from manufacturing,
or are handled with the slightest degree of inep-
titude.

A construction unit is shown in Figure 3.21
that permits the integration of microelectrodes in
a lander along with the necessary mechanical
system, the electronic control and data moni-
toring equipment. It is of utmost importance that
this unit is built into the lander in such a manner
that the measurements will begin above the
sediment surface, then insert the electrodes deep
enough into the sediment, allowing later deri-
vations of the essential processes from the
concentration profile. This requires, among other
pre-requisites, the correct estimation as to how

deep the feet of the lander will sink into the
sediment. If the sediment is firmer than expected,
only the bottom water might be measured;
whereas, if the sediment is softer than expected,
the profile might begin within the sediment. Thus,

Fig. 3.21 Schematic representation of the mechanic and
electronic unit applied to microelectrodes in a lander sys-
tem. The round pressure cylinder contains the electronic
control equipment and the data monitoring device, to the
bottom of which various vertically positioned microelec-
trodes are mounted. The entire cylinder is lowered with the
aid of a stepper motor and a corresponding mechanical sys-
tem in pre-adjustable intervals so that the electrodes begin
measuring in the bottom water zone and then become im-
mersed into the sediment (after Reimers 1978).
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much experience and many aborted profiles stand
behind those profiles which are now shown in
Figures 3.5 and 3.22.

By using such electrodes it is now possible to
describe a diffusive boundary layer at the trans-
ition zone between the sediment and the bottom
water with a sufficient degree of depth resolution
(Fig. 3.22). This layer characterizes a zone which
lies directly over the sediment and is not influ-
enced by any current. Instead, a diffusion con-
trolled transport of material characterizes the
exchange between bottom water and sediment. This
layer which possesses a thickness of 0.2 - 1 mm
still belongs to the bottom water with regard to its

porosity (100 % water), but due to its diffusion
controlled material transport, it belongs instead to
the sediment. In both oxygen profiles shown on
the left in Figure 3.22, the location of the diffusive
boundary layer is indicated. Above this layer, the
bottom water is agitated, resulting in an almost
constant oxygen concentration. A constant gra-
dient is found within this layer because this is
where only diffusive transport takes place, but no
depletion of oxygen occurs. It may be of interest
in this regard that the better known diffusion
coefficient for water (Dsw in Equation 3.5 and in
Table 3.1) must be applied for this diffusive
transport, and not the diffusion coefficient for the

Fig. 3.22 Diffusive boundary layer at the sediment/bottom water transition measured with oxygen microelectrodes.
Profiles are shown in both representations on the left. The two representations on the right show the respective spa-
tial patterns. In the above right corner, the surface is shown, whereas the subsurface of the diffusive boundary layer is
shown below (after Gundersen and Jørgensen 1990).

3

2

1

0

Z 
[m

m
]

3

2

1

0
0

1
2

3

Y
[m

m
]

X [mm]

3

2

1

0

Z 
[m

m
]

3

1

0
0

1
2

3

X [mm]

2Y [m
m

]

2.0

1.0

0.0

-1.0

-2.0

de
pt

h 
[m

m
]

50 100 150

Diffusive boundary layer

2.0

1.0

0.0

-1.0

-2.0

de
pt

h 
[m

m
]

50 100 150

Diffusive boundary layer

Water

Sediment

Water

Sediment

oxygen [µmol/l]



109

sediment (Dsed). Since the entire diffusive
transport from the bottom water to the sediment
crosses this transitory layer, measurements within
the layer allow for especially reliable estimations
of the oxygen consumption in the sediment.

To date, extremely good results have been ob-
tained with oxygen microelectrodes in sediments
with high reaction rates, because the essential
processes can be analyzed only here, with profiles
most often reaching a few centimeters into the
sediment. The lower ends of these profiles are fre-
quently marked by breakage of the electrodes. In
sediments displaying less vigorous turnovers, the
measurement mostly includes just one single oxy-
gen concentration gradient, not reaching into the
penetration depth for oxygen.

Less frequently, pH-profiles are published in
literature when compared to the oxygen profiles.
The details as to their shapes and their underlying
processes are not yet sufficiently understood.
Additionally, a reliable calibration under the given
pressure conditions has not been accomplished
for in situ pH-measurements. Consequently, only
relative values are measured within one profile.
Electrodes measuring H2S can also be built as
microelectrodes. However, they are only suited for
in situ measurements when H2S reaches close
enough to the sediment surface.

Optodes

Apart from the great advantages of electrodes - they
have practically opened a domain of the aquatic en-
vironment which was previously not accessible to
measurement - the disadvantages should be men-
tioned as well. On the one hand, only the three
aforementioned types are applicable (O2, pH, H2S),
on the other hand, these electrodes are commercially
available only at a rather high price or must be self-
made. The manufacturing of one electrode demands
- if one has the necessary experience – half a day up
to one full day of labor. Additionally, the electrodes
tend to break easily. Thus, in the experimental work
that led to the publication by Glud et al. (1994) about
50 to 60 (!) microelectrodes were ‘used up’.

It therefore appears to be reasonable to look for
other methods and other measurement principles.
Such an alternative principle consists of the
construction of the optode (by analogy: electrodes
as functioning electrically, optodes functioning
optically). The basic principle (Fig. 3.23) consists of
the conductance of light possessing a specific
wavelength (450 nm) via glass fibers to the site of
measurement. The tip of the glass fiber is
surrounded by a thin layer of epoxy resin that
contains a dye (ruthenium(II)-tris-4,7-diphenyl-
1,1-phenanthroline).

Optical fiber

Hypodermic needle

SyringeFiber cable

A

B

Coated optical fiber Optical isolation

Sensor chemistry

20 µm

Fig. 3.23 Schematic representation of an oxygen microoptode. One end of the glass fiber can be mounted into a steel
cannula for protection and stabilization (A). At the site of measurement, the tip of the glass fiber is surrounded by a
thin layer of epoxy resin (B) which contains a fluorescent dye. The fluorescence properties of the dye depend on the
concentration of the compound to be measured (after Klimant et al. 1995)

3.5 In situ Measurements
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The dye emits a fluorescent light at a different
wavelength (610 nm). The intensity of this fluo-
rescence depends on the concentration of the
substance to be measured that penetrates into the
resin by diffusion, directly at the site of measu-
rement. The construction of such microoptodes,
and the first results of measuring oxygen at the
sediment/bottom water boundary were described
by Klimant et al. (1995, 1997), Glud et al. (1999)
and Kühl and Revsbech (2001). According to
Klimant et al. (1995), optodes can be developed
for a number of substances (e.g. pH, CO2, NH3,
O2). As yet, this new technology has only been
applied to oxygen measurements, i.e. in the form
of the microoptode. Presumably, the construction
details and the alchemy of the fluorescent dyes
will still be the object of current development.

So-called planar optodes were developed in
recent years, which, for example, allow us to draw
two-dimensional maps showing the oxygen
distribution in a sediment. The fluorescence
induced by oxygen can be measured and made
visible on a particularly processed stretch of foil
(e.g. Glud et al. 2001).

in-situ Incubations

The diffusive input of oxygen into the sediment
contributes to only one part of the whole oxygen
budget. An input of oxygen into the sediment con-
ducted by macroscopic organisms must be consi-
dered to occur especially in the sediments of
shallow waters, and when the proportion of orga-
nic matter in the sediment is high. These proces-

Fig. 3.24 Results of in situ incubation measurements. In both examples, a depletion of oxygen and nitrate and a
concomitant release of phosphate, silica, and carbonate was observed in incubation time lasting 30 hours. The concen-
tration unit is µmol/kg, alkalinity is expressed in µmol(eq)/kg. (after Jahnke and Christiansen 1989).
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ses will be discussed more thoroughly in the fol-
lowing Section 3.6 concerned with bioirrigation.

The total oxygen consumption at the transition
between sediment and bottom water is measured
in so-called incubation experiments which are best
to be carried out under in situ conditions. To this
end, a distinct area of the sediment surface area
(usually several dm2) is covered with a closed box
in such a manner that a part of the bottom water is
entrapped. Inside the closed box, the concentra-
tions of oxygen and/or nutrients are repeatedly
measured over a sufficient length of time. The
total exchange of substances is deduced from the
measured concentration changes in relation to the
volume of entrapped bottom water and the area
under study.

Figure 3.24 shows the result of such an in situ
experiment taken from a study conducted by
Jahnke and Christiansen (1989). The sediment’s
uptake of the electron acceptors oxygen and
nitrate is easy to quantify, as well as the conco-
mitant release of phosphate, silica, and carbonate
into the bottom water.

Glud et al. (1994) also carried out in situ incu-
bation experiments in the upwelling area off the
coast of Namibia and Angola, in a parallel proce-
dure to their recording diffusion controlled
oxygen profiles by means of microelectrodes.
Thus, they were able to obtain values for the
sediment’s total oxygen uptake and, at about the

same site, simultaneously measured the exclusi-
vely diffusion-controlled oxygen uptake. The ratio
of total uptake and diffusive uptake yielded
values between 1.1 and 4. The higher ratios were
coupled to the altogether higher reaction rates
observable in organic-rich sediments at shallower
depths. Similarly a good correlation between the
difference of total oxygen uptake minus diffusive
oxygen uptake on the one hand, and the abun-
dance of macroscopic fauna on the other hand
was observed.

Peepers, Dialysis, and Thin Film Techniques

At first glance, dialysis would appear to be a very
useful technique for obtaining pore water samples
under in situ conditions which can be analyzed
for nearly all constituents. Different types of
‘peepers’ are presently used which can be pressed
into the sediment from the sediment surface. Such
a peeper usually consists of a PE-column 0.5 - 2 m
long with ‘peepholes’ on its outside. Cells filled
with de-ionized water inside the peeper are
allowed to equilibrate via dialysis through a filter
membrane with the pore water outside the peeper.
However, an equilibration time of many days or
even a few weeks may be necessary if a volume of
fluid greater than 5 - 10 cm3 is necessary for
analysis and if a small peephole is required in
order to achieve a certain depth resolution. This

Fig. 3.25 Concentration-depth profiles for Mn and Fe through the sediment/water interface. For these
measurements, a DET gel was deployed for 24 hours in situ. (after Davison et al. 1994)

3.5 In situ Measurements
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restricts the use of dialysis-peepers to shallow
water environments where diving is possible, and
thus makes it especially useful in tidal areas. It
should be pointed out that dialysis does not
simply result in the sampling of pore water under
in situ conditions. Only those aquatic species that
are small enough to pass through the membrane
can find their way through the peephole into the
cell. The species distribution is therefore depen-
dent on the nature of the membrane used. A
review of different techniques is given by
Davison et al. (2000). More relevant to the study
of deep sea sediments are in situ techniques
using the diffusive equilibration in thin films
(DET) and diffusive gradients in thin films (DGT)
(Davison et al. 1991; Davison and Zhang 1994;
Davison et al. 1997; Davison et al. 2000).

Figure 3.25 shows concentration-depth
profiles for Mn and Fe through the sediment/water
interface with a depth resolution which would be
impossible to obtain using any other technique.
Measurements such as these have resulted in
meaningful measurements of reaction rates within
the uppermost layers of young sediments and of
diffusive fluxes of various metals through the
sediment/water interface for the first time.
However, the preparation of the thin films, and
their handling under field conditions is still quite
troublesome and much work needs to be under-
taken to further develop these techniques.
Nonetheless, this seems to be a most promising
approach for obtaining reliable in situ deter-
minations of elements in sediment pore waters.

3.6 Influence of Bioturbation,
Bioirrigation, and Advection

For the pure geochemist it would be most con-
venient if this chapter would close at this point.
The concomitance of diffusive transport and
reactions determinable on the basis of gradient
alterations - although they are rather numerous -
results in a sufficiently sophisticated system of
pore water and sediment, quite well understood
and calculable. For deeper zones below the sedi-
ment surface, beyond approximately 0.5 to 1 m, a
description of the system in terms of diffusion and
reactions probably seems to be quite acceptable,
with a certain degree of accuracy obtained. The
closer the zones under study are located to the
sediment surface, the more inhomogeneities and

non-steady state conditions become of quanti-
tative importance. These are mainly determined by
the activity of organisms living in the sediment.

Depending on whether the effect on the sedi-
ment or the pore water is considered, this pheno-
menon is referred to as bioturbation or bioirri-
gation, respectively. Advection (sometimes also
called convection) is the term used for the motion
of water coupled to a pressure gradient which
partly overlaps with bioirrigation, when permea-
bilities are influenced by the habitats of the orga-
nisms. At the end of this section, model concepts
will be outlined that allow for a quantitative
description of this heterogeneous, yet very reac-
tive domain of the sediment.

Bioturbation

Bioturbation refers to the spatial rearrangement of
the sediment’s solid phase by diverse organisms,
at least temporarily living in the sediment. This
process implies that all sedimentary particles in
the upper layers, which are inhabited by
macroorganisms, are subject to a continual

Fig. 3.26 In situ measurement of an oxygen profile in a
water depth of 3100 m, off the mouth of the Congo River.
The microelectrode detected an open cavity flooded with
oxygen-rich bottom water in a depth between 80 mm and
90 mm below the sediment surface (after Glud et al. 1994).
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transfer, i.e. seen in the long run, are integrated
into a permanent cycle. From the publications of
many authors (e.g. Aller 1988, 1990, 1994; Dicke
1986) it can be concluded that this layer,
essentially influenced by bioturbation, generally
reaches 5 to 10 cm, rarely even up to 15 cm, below
the sediment surface. Only when a sediment
particle has reached a greater depth in the course
of continued sedimentation, will the ‘recycling’
process become a rare event until it ultimately
comes to a final standstill.

This continued recycling of the sediment’s
solid phase is of great importance for a number of
geobiochemical processes. By the action of this
cycle, the electron donor (organic matter) and the
electron acceptors (e.g. iron and manganese
oxides) of the biogeochemical redox processes in
the sediment are continually procured from the
sediment surface. The results obtained by Fossing
and Jørgensen (1990) can only be understood
when considerably more sulfate is chemically
reduced in the upper layers of the sediment than
is accounted for by the sedimentation rate of
directly imported organic matter. The re-oxidation
of once released sulfide back to sulfate, which is
also of importance in this regard, can only
proceed when the oxides of iron and manganese,
the electron acceptors, are continually supplied
from the surface in an oxidized state, and return
there in a chemically reduced form. Such a cycle
has been described for iron and manganese, for
instance, by Aller (1990); Van Cappellen and Wang
(1996) as well as Haese (1997).

Bioirrigation

The process in which living organisms in the
sediment actively transport bottom water through
their habitats is known as bioirrigation. In this
process, oxygen-rich water is usually pumped into
the sediment, and water with less oxygen is
pumped out. Figure 3.26 which is derived from the
publication by Glud et al. (1994) demonstrates an
oxygen profile measured in situ with the aid of a
microelectrode. The electrode recorded a normal
profile reaching about 30 mm below the sediment
surface. Beyond, from about 30 mm to 80 mm
below the sediment surface, the oxygen
concentration was practically zero, whereas an
open cavity was detected between 80 and 90 mm
flooded with oxygen-rich bottom water.

In the publications submitted by Archer and
Devol (1992), a comparative study on the purely

diffusive oxygen flux (based on measurements
with microelectrodes) and the total oxygen flux
(based on incubations) was conducted for the
shelf and the continental slope off the State of
Washington. In a similar study, Glud et al. (1994)
investigated the continental slope off Angola and
Namibia. It was shown that the flux induced by
bioirrigation was several times larger than the
diffusive flux. However, such high fluxes only
occur in densely populated sediments, mostly on
the shelf. For deep sea conditions the total
oxygen uptake was only slightly higher than the
diffusive oxygen uptake of the sediment.

Advection of Pore Water

Except for bioirrigation, advection within the pore
water fraction may only result from pressure
gradients. Advection is sometimes referred to as
convection, yet the terms are used rather syno-
nymously. There are, in principle, three different
potential causes leading to such pressure gradi-
ents, and thus to an advective flux:

•    Sediment compaction and a resulting flow of
water towards the sediment surface.

•   Seafloor areas with warmer currents and a
resulting upward-directed water flow, that
corresponds with water flows directed down-
wards at other locations.

•    Currents in bottom water that induce pressure
differences at luv and lee sides of uneven
patches on the sedimentary surface.

The first case can be quite easily assessed
quantitatively on the basis of porosity measu-
rements: one might imagine a fresh and water-rich
deposited sediment column and observe the com-
paction as a further descent of the solid phase
relative to the water that remains at the same
place. Hence, the upwards directed advective flux
results as the movement of water relative to the
further sinking sediment. If the sediment exhibits
a water content of approximately 0.9 at its
surface, and even a value of 0.5 in several meters
depth, and provided that the boundary between
sediment and bottom water moves upwards due
to the accumulation of new sediment, then it will
inevitably follow that the compaction induces an
advective flux which will not exceed values similar
to the rate of sedimentation. As for deep sea

3.6 Influence of Bioturbation, Bioirrigation, and Advection
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sediments, this process can produce values in the
range of a few centimeters per millennium.

Some examples for the second case were
provided by Schultheiss and McPhail (1986). By
using an analytical instrument that freely sinks
to the ocean floor, they were able to measure
pressure differences between pore water, located
4 m below the sediment surface, and the bottom
water directly. At some locations, deep sea sedi-
ments of the Madeira Abyssal Plain displayed
pressure differences of about 0 Pa, at other
locations, however, the pressure in pore water 4
m below the sediment surface was significantly
lower (120 or 450 Pa) than in bottom water. With
regard to the porosity (φ) and the permeability
coefficient of the sediment (k), the advective flux
is calculated according to the following
equation:

φ⎟
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⎞
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⎝

⎛

∆
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⋅=
x
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kva (3.30)

In this equation, known as the Darcy Equation,
and which is applied in hydrogeology for
calculating advective fluxes in groundwater,
va[m s-1]  denotes the velocity with which a
particle/solute crosses a definite distance in
aqueous sediments. ∆p refers to the pressure
altitude measured in meters of water column
(105 Pa = 1 bar ≈ 750 mm Hg ≈ 10.2 m water
column); and ∆x [m] is the distance across
which the pressure difference is measured. In
the example shown above (φ = 0.77, k = 7·10-9

m s-1), this distance amounts to 4 m. Insertion
into Equation 3.30 yields:
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or:

va = 0.86 [mm a-1]

Applying the other value specified by Schult-
heiss and McPhail (1986) as 450 Pa, a velocity of
va = 3.2 [mm a-1] ensues. (These authors end up
with the same values, yet they do so by using a
different, unnecessarily complicated procedure
for calculation). Such values would thus be
estimated as one, or rather two orders of
magnitude greater than those resulting from
compaction. Actually, such values should
distinctly be reflected by the concentration
profiles in pore water. However, despite of the

huge number of published profiles, this conse-
quence has not yet been demonstrated.

Upon applying the Darcy Equation 3.30 which
is designed for permeable, sandy groundwaters,
we must take into consideration that this equa-
tion is only applicable to purely laminar fluxes.
Furthermore, it does not account for any forces
effective near the grain’s surface. A permeability
value of k = 7.10-9 m s-1 implies that grain size of
the sediment particles is almost identical to clay.
Within such material, the forces working on the
grain surfaces impose a limitation on the advec-
tive flux, so that the calculation of Equation 3.31,
based on the pressure gradient, will surely lead to
a considerable overestimation of the real advec-
tive flux.

The third case, a pressure gradient induced by
the bottom current and a supposed advective
movement of the pore water, is of importance
mainly on the shelf where shallow waters, fast
currents, an uneven underground, and high
permeability values in coarse sediments are
encountered. Ziebis et al. (1996) as well as Forster
et al. (1996) were able to demonstrate by in situ
measurements and in flume experiments that the
influence of bottom currents may be indeed
crucial for the superficial pore water of coarse
sand sediments near to the coast.

At flow rates of about 10 cm s-1 over an uneven
sediment surface (mounds up to 1 cm high), the
oxygen measured by means of microelectrodes had
penetrated to a maximum depth of 40 mm, whereas
a penetration depth of only 4 mm was measured
under comparable conditions when the sediment
surface was even (Fig 3.27). Huettel et al. (1996)
were able to show in similar flume experiments
that not only solutes, but, in the uppermost
centimeters, even fine particulate matter was
likewise transported into the pore water of
coarsely grained sediments. Similar processes
with marked advective fluxes are, however, not to
be expected in the finely grained sediments pre-
dominant in the deep sea.

Advection of Sediment

An advection of the sediment’s solid phase does
not, at first sight, seem to make any sense, be-
cause it implies - in contrast to bioturbation - a
movement of sediment particles which favor a
specific direction. There is no known process that
describes an advection of a solid phase, instead,
the definition of such a process actually only
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results from the definition of the position of the
system of coordinates, and thus already indicates
the model boundary conditions which will be later
dealt with in more detail. If the zero-point of the
coordinate-system is set by definition to the
boundary between sediment and bottom water, it
follows that the coordinate-system will travel
upwards with the velocity of the sedimentation
rate. Concomitantly, this also implies that sedi-
ment particles move downwards relative to the
coordinate-system with the velocity of the
sedimentation rate. This definition may appear
somewhat formalistic, at first, but it becomes more
real and relevant from a quantitative point of view
when diagenetic reactions are studied. Then most
turnovers are limited by the solid phase
components that are introduced into the system
by this form of ‘advection’.

Conceptual Models

Conceptual models and their applications will
be discussed in more detail in Chapter 15 where
computer models will be presented and examples
taken from various fields of application will be
calculated. At this point, conceptual models will
just be mentioned in brief summary and will
contain the most essential statements of this
chapter.

•    The description of the diffusive transport by
Fick’s first and second law of diffusion
includes the transport of soluble substances

Fig. 3.27 Advective flow of pore water induced by bottom water flow and documented by O2 penetration into the
sediment around a small sediment mound (after Ziebis et al. 1996).

3.6 Influence of Bioturbation, Bioirrigation, and Advection

in pore water, which is not mediated by
macroorganisms. In this regard, diffusive
fluxes are always produced by gradients; and
fluxes are always reflected by gradients.
Upon assessment of concentration profiles
with respect to material fluxes, it needs to be
considered whether the depth zones of the
investigated profile are sufficiently (quasi)
stationary with regard to the studied para-
meter. Non-steady state conditions are appro-
priately described only by Fick’s second law
of diffusion.

•   If no biogeochemical processes can be found
in sediments at all, the pore water should
display constant concentrations from the
top down in a stationary way. Any reactions
taking place in the pore water fraction, or
between pore water and solid phase, will
become visible as a change of the involved
concentration gradients extending across
the depth zone; any changes of the
concentration gradients document the
processes in which pore water has been
involved.

•     In principle, bioturbation as a macrobiological
process should not be described in terms of
easily manageable model concepts as can be
done for molecular diffusion. Only if it is
assured that the expansion of a given volume
under study is large enough, and/or provided
that the time-span necessary to make the
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observation is sufficiently long, can we
conceive of the bioturbation processes, on
average, as identically effective at all places.
In such cases, a model concept of ‘biodif-
fusion’ is frequently applied in which Fick’s
laws of diffusion are applied upon intro-
ducing an analogous ‘biodiffusion coeffi-
cient’. Aller and De Master (1984) reported on
having determined 234Th and 210Pb and drew
conclusions using a model concept of biotur-
bation. Figure 3.28 shows an empirically
determined biodiffusion constant according
to Tromp et al. (1995) in its dependence on
the sedimentation rate. Deep sea sediments
with sedimentation rates in the range of 0.001
and 0.01 cm a-1 yield biodiffusion coefficients
in the range of 0.1 and 1 cm2a-1, or, upon
applying the dimensions contained in Table
3.1, values that lie between 3·10-13 and 3·10-12

m2s-1. Such biodiffusion coefficients are thus
more than one order of magnitude smaller
then the coefficients of molecular diffusion in
sediment pore waters. The bioturbation
process (= biodiffusion) is therefore without
immediate relevance for pore water because,
if we judge the matter realistically, its effects

are by far less than the accuracy of the
molecular diffusion coefficient. Bioturbation
(= biodiffusion) is, however, very important
for the dynamics and the new organization of
the sediment’s solid phase. By this mecha-
nism, and adjunct biogeochemical reactions,
bioturbation consequently also exerts an
indirect but nevertheless important influence
on the distribution of concentrations in pore
water.

•     Upon introducing a related coefficient, Fick’s
laws of diffusion have also been applied to
bioirrigation. However, this surely reflects a
rather poor model concept. Figure 3.26 alrea-
dy showed this in two ways: firstly, this pro-
cess is indeed of relevance and applicable to
pore water. Secondly, both processes, mole-
cular diffusion and biorrigation, take place
simultaneously and are effective in parallel
action at the same location. A workable model
concept to deal with bioirrigation is therefore
still missing.

•   The advection of pore water has the same
order of magnitude as the sedimentation rate

Fig. 3.28 Biodiffusion coefficients (particle mixing) in relation to their empirically determined dependence on the
rate of sedimentation (after Tromp et al. 1995).
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and is, therefore, compared to molecular
diffusion, not of great importance. How-
ever, advection as a model concept in itself
may be quite easily included into computer
models by the employment of the Darcy
Equation 3.30. The advection of the sedi-
ment’s solid phase results from the formal
logic that the zero-point of the system of
coordinates is always defined at the sedi-
ment surface, and that the sediment partic-
les stream downward relative to the coor-
dination system. This process is of great
importance for balancing the diagenetical
effects in the sediment.

3.7 Signals in the Sediment
Solid Phase

As already described in the introductory
section to this Chapter, the ‘classic geological’
approach to the processes of diagenesis was
distinguished by the examination of the sedi-
ment’s solid phase. And whenever a recon-
struction of diagenetic processes in previous
sediments - which nowadays consist of rock
and have lost their original pore water content a
long time ago -, is attempted, one will have to
resort to an investigation of the solid phase.
Analyzing the solid phase element profiles is
much more reliable than is the case with pore
water concentration profiles. However, the inter-
pretation of such element profiles proves to be
much more difficult, since the signals of the
entire consecutive diagenetic processes inter-
fere with those of sedimentation. Some of the
element profiles measured in sediments can only
be interpreted on account of the new under-
standing of diagenetic processes which was
gained, in particular, after many pore water
analyses had been carried out during the last
two decades. The ratios of the sedimentary
contents primarily originating from sedi-
mentation compared to those originating from
diagenetic processes might differ greatly from
each other, depending on the element, the
sedimentation area, and the type of diagenesis.
In such case, it is always advisable to initially
perform an estimative, rough calculation of the
contents measured in the sediment in relation to
the contents potentially altered in the sediment
by the processes of diagenesis.

3.7.1 Analysis of the Sediment’s
Solid Phase

A variety of different analytical approaches lead
to the profiles of sedimentary element contents.
The two essential and most commonly used
methods are nowadays the following:

•   Laborious, yet very reliable, is the complete
extraction of the dried, mortared and
homogenized sediment sample using ap-
propriate acids. Usually a microwave pres-
sure extraction in a closed system composed
of PTFE or a similarly inert and resistant
material is applied for this purpose now-
adays. With this method, all the sedimentary
constituents are dissolved without ex-
ception by applying various mixtures of HF,
HCl and HNO3 (HCLO4 can be avoided in
most cases) at temperatures between 250
and 260 °C and a pressure ranging from 30 to
50 bars. In the ultimately received, slight
nitric solution - hydrofluoric acid is left to
evaporate in the course of the procedure -
practically all elements (including the rare
earth elements) can then be analyzed mar-
kedly above their limit of detection by atom
absorption spectrometry (AAS), optical
plasma emission spectrometry (ICP-OES)
and/or plasma mass spectrometry (ICP-MS).

•   X-ray fluorescence spectroscopy (XRF) is
much easier in its performance but by no
means as reliable particularly in case of low
element contents. Here, the dried, mortared
and homogenized samples can be used
directly as powder, or better in this shape of
pressed tablets, or even better still, as molten
tablets. With this method, good detection
limits are obtained for most of the quanti-
tatively relevant elements, the access to trace
metals, however, is not feasible to the same
extent as in complete extraction and subse-
quent analysis of the extract solution.

The following comparison illustrates the
greatly differing time and work effort associated
with these two methods:

In order to analyze the quantitative element
profiles, consisting of approximately 250 samples
derived from one single core which was extracted
with the gravity corer, several weeks are required
for drying, mortaring, homogenization, weighing,



118

3 Quantification of Early Diagenesis: Dissolved Constituents in Marine Pore Water

chemical extraction and analysis - provided that
all steps of extraction and analysis are automated.

The element profiles of a sediment core from
the Cape Basin (Wien et al. 2005a), which is
shown in Figure 3.29, were obtained with a
trans-portable XRF on board of a research
vessel,  the results were obtained within a
period of 24 hours after core extraction with the
gravity corer.
The energy-dispersive analysis was conducted
with polarized X-rays. Powdered samples were
measured because of the short processing time
desired in this case, although lower detection
limits and measured values displaying less
scattering would certainly have been obtained
by applying pressed or even molten tablets. An
essential further improvement of the quality of
measurements would have been accomplished if
the more laborious wavelength-dispersive X-ray
fluorescence (WDX), currently not available as
transportable device, had been applied instead
of the energy-dispersive X-ray fluorescence (EDX).

3.7.2 Interpretation of Element Profiles

The profiles of elemental contents shown in
Figure 3.29 may serve as an example to briefly
discuss the informational content, i.e. the various
signals in these profiles. Core GeoB 8301 shown
here originated from the Cape Basin at 34°46.0´S
and 17°41.5´E and a water depth of 1952 m. The
following signals can be distinctly recognized in
the element profiles:

•    The profiles of Ti, Al, Fe, K, Rb and also, to a
limited extent, Mg are obviously determined
by an input of terrestrial substance which is
consequential to erosion. The curves which
are very similar to each other represent the
intensity and the type of erosion on the
continent, formation and degradation of soil,
as controlled by climate changes.

•   The elements Ba, Cu, Ni und Zn produced
similar curves, somewhat overlain by distur-
bing measurement variances. However, espe-

Fig. 3.29 Profile of the elemental contents within a sediment core which was obtained from a depth of 1952 m in
the Cape Basin. Analysis was performed with a transportable X-ray fluorescnce anayzer (XRF) on board of a research
vessel. Results were obtained within 24 hours after extracting the core (Wien et al. 2005a).
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cially in the case of barium at a depth of
somewhat more than 1 m below the sediment
surface, a much steeper rise of the measured
values is recognizable than is characteristic
of the other elements also controlled by
terrestric processes. A similar steep rise at
this depth is otherwise only encountered by
strontium which is predominately controlled
by marine processes. Various authors con-
ceive barium as a proxy parameter of paleo-
productivity in the surface water of oceans
(e.g. Kasten et al. 2001). Also the elements
copper, nickel and zinc which produced
curves similar to barium reach the sediment
when they are bound to organic matter, and
thus create similar imprints in the sediment.

•     The earth alkali metals calcium and strontium
are almost exclusively determined by marine
routes of entry. They predominately reach the
sediment in the shape of calcareous shells
originating from perished marine organisms. In
this case, various organisms contain slightly
different amounts of strontium, while others
incorporate strontium to a variable degree, a
process which depends on the surrounding
temperature. For this core, and other sediment
cores obtained from the Cape Basin, it could be
demonstrated that a profile of the Sr/Ca ratio
matched perfectly with the corresponding δ18O-
curve (SPECMAP curve, Imbrie et al. 1984),
permitting an immediate deduction of an age
model (cf. Wien et al. 2005b).

•    The two elements in this core, calcium and
strontium, were not even essentially
influenced by diagenesis. Wherever the
sediment’s pCO2 and concentration of dis-
solved carbonate changes in course of the
degradation of organic matter, the respective
dissolution/precipitation reactions of
carbonate minerals can also be concomitantly
determined (Pfeifer et al. 2002, Wenzhöfer et
al. 2001).

•   Large parts of the silicon curves show a
resemblance to the elements which are
introduced from land. This element obviously
also reaches the marine sediment on similar
routes of entry. However, individual peaks
display a similarity to the elements which are
controlled by marine conditions and thus
provide evidence in favor of biogenic opal as

the route of entry, which is also quantita-
tively relevant.

•    Sulfur reaches the sediment essentially only by
means of diagenetic processes. Here, the
fixation of sulfate-bound sulfur in the form of
barite in the sulfate-methane transition (SMT)
zone produces an interesting signal, but is
quantitatively irrelevant on account of the low
barium concentrations in the pore water. Sulfur
precipitates in much greater amounts in shape
of sulfide (Mackinawite FeS, pyrite FeS2)
wherever sulfide resulting from the reduction
of sulfate comes into contact with divalent
iron by means of diffusion. In the core shown
in Figure 3.29 this obviously proceeded at a
depth of about 7 m below the sediment surface
over a relatively long period of time.

•    The two halogens Cl and Br also provide
some interesting pieces of information. Since
a high concentration of chlorine prevails in
ocean water, but is practically not involved in
any diagenetic processes, chlorine can make
its way into the XRF sample only by means
of pore water extraction. The curve of chlo-
rine shown in Figure 3.29 represents the
porosity of the sediment material so precisely
that its concentration could be reconstructed.
This influence can also be seen in the case of
bromine which is, however, overlain by a
similar signal of nearly the same intensity as
those of the elements Ba, Cu, Ni, Zn which
are controlled by organic matter.

3.7.3 Correlation of Sediment Cores
by the Contents of Elements

A stratigraphic correlation of different sediment
cores only makes sense if the element applied in a
correlation of a given core is practically not
influenced by any diagenetic process at all, and
when its curve is practically only influenced by
its input into the sediment.

Diagenetic influences would not be coupled to
the stratigraphy, but would reach various depths
at various locations instead, totally independent
of the diagenetic processes. Especially suited for
correlations are elements that do not display too
low concentrations and whose input into the
sediment is essentially determined by one single
route of entry. This can be, for example, either
one of elements aluminum or iron for the terres-
trial input, or calcium or strontium for the marine

3.7 Signals in the Sediment Solid Phase
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input. In Figure 3.30, core GeoB 8301 from the
Cape Basin, shown in Figure 3.29, is correlated
with several other cores derived from the Cape
Basin by means of their iron profiles. Since a
reliable age model was available for one of these
cores (GeoB 2004), it could therefore also be
applied to the other cores.

Graphical representations of element profiles
frequently also show the ratios of elements.
Above, the Sr/Ca ratio was mentioned as an
example, along with its correlation with the
SPECMAP curve in a certain sea area (Wien et al.
2005b). Especially popular is the representation of
elemental contents reported as element/aluminum
ratios. In this case, it is assumed that aluminum
depends exclusively on a terrestrial route of
entry. The element/aluminum ratio reveals the
deviation of a given element from the behavior
displayed by aluminum. An element/titanium ratio
is used for the same purpose, however, it is not
applied as often on account of the fact that
titanium is not as reliable as aluminum and more
difficult to analyze.

However, such element/aluminum or element/
titanium ratios should never be applied in general
and only with caution, as such procedure in fact
systematically removes the terrestrial input signal
from the data and, with it, all information which is
attached to this course and running parallel to it.

A good approach is given if only the marine
signal is to be examined, and somebody has
started it at some time. Some workers may be
encountered occasionally who, as a matter of
principle, looking at their data study nothing but
the element/aluminum ratios anymore. They will
never learn anything about the terrestrial routes
of input, because they simply will never see them.
Studying the element/titanium ratios is parti-
cularly nonsensical in this regard. The ratio of
one element to another should only be used, if it
is exactly known why this ratio is studied, which
part of the statement is underscored, and which
one will be suppressed.
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4 Organic Matter:
The Driving Force for Early Diagenesis
JÜRGEN RULLKÖTTER

4.1 The Organic Carbon Cycle

The organic carbon cycle on Earth is divided into two
parts (Fig. 4.1; Tissot and Welte 1984). The biological
cycle starts with photosynthesis of organic matter from
atmospheric carbon dioxide or carbon dioxide/
bicarbonate in the surface waters of oceans or lakes. It
continues through the different trophic levels of the
biosphere and ends with the metabolic or chemical
oxidation of decayed biomass to carbon dioxide. The
half-life is usually days to tens of years depending on
the age of the organisms. The geological organic
carbon cycle has a carbon reservoir several orders of
magnitude larger than that of the biological organic
carbon cycle (6.4·1015 t C compared with 3·1012 t C in
the biological cycle) and a turn-over time of millions of
years. It begins with the incorporation of biogenic
organic matter into sediments or soils. It then leads to
the formation of natural gas, petroleum and coal or
metamorphic forms of carbon (e.g. graphite), which may

be reoxidized to carbon dioxide after erosion of
sedimentary rocks or by combustion of fossil fuels.

The tiny leak from the biological to the geological
organic carbon cycle, particularly if seen from the point
of view of a petroleum geochemist in the context of the
formation of petroleum source rocks (see Littke et al.
1997a for an overview), is represented by the depo-
sition and burial of organic matter into sediments. If
looked at in detail, the transition from the biosphere to
the geosphere is less well defined. The transformation
of biogenic organic matter to fossil material starts
immediately after the decay of living organisms. It may
involve processes during transport, e.g. sinking
through a water column, and alteration at the sediment
surface or in the upper sediment layers where epi- and
endobenthic organisms thrive. Furthermore, it may
extend deeply into the sedimentary column where
bacteria during the last decade or so were found to be
still active at several hundreds of meters depth in layers
deposited millions of years ago (Parkes et al. 1994;
Wellsbury et al. 2002).

Fig. 4.1 The two major parts of the organic carbon cycle on Earth (after Tissot and Welte 1984). OM = Organic
matter.
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4.2    Organic Matter Accumulation
   in Sediments

In the fossil record, dark-colored organic-matter-
rich layers (black shales, sapropels, petroleum
source rocks in general) witness periods of time
when conditions for organic matter accumulation
in sediments apparently were particularly favo-
rable. As the other extreme, massive sequences of
white- or red-colored sedimentary rocks are
devoid of organic matter. Although these rocks
may contain abundant calcareous or siliceous
plankton fossils, the organic matter of the orga-
nisms apparently was destroyed before it could be
buried in the sediments.

Biogenic organic matter is considered labile (or
metastable) under most sedimentary conditions due to
its sensitivity to oxidative degradation, either chemi-
cally or biologically mediated. This is particularly true
in well-oxygenated oceanic waters as they presently
occur in the oceans almost worldwide. Thus, abundant
accumulation of organic matter today is the exception
rather than the rule. It is mainly restricted to the
upwelling areas on the western continental margins
and a few rather small oceanic deeps with anoxic
bottom waters (such as the Cariaco Trench off
Venezuela). In the geological past, more sluggish
circulation in the deep ocean or in shallow
epicontinental seas, accompanied by water column
stratification, was probably one of the main causes
leading to the deposition of massive organic-matter-

Fig. 4.2 Schematic models for organic matter accumulation in sediments. A) Stagnant basin or Black Sea model (after
Demaison and Moore 1980 and Stein 1991); B) Productivity model (after Rullkötter et al. 1983). OM = Organic matter.



127

4.2 Organic Matter Accumulation in Sediments

rich rocks. A few examples are the Jurassic Posidonia
Shales or Kimmeridge Clays in northwestern Europe,
the Cretaceous black shales of the Atlantic Ocean and
other oceanic areas of the world, and the Pliocene to
Holocene sapropels of the Mediterranean Sea.

Stagnant oceanic bottom waters with a low
concentration or absence of oxygen (anoxia) for a long
time were considered the main prerequisite for the
accumulation of high amounts of organic matter in
sediments (Demaison and Moore 1980). More recently,
a controversy developed about two contrasting models
to explain the deposition of organic-matter-rich
sediments in the marine realm, either (1) by preservation
under anoxic conditions in a static situation or (2) by
high primary productivity in a dynamic system (Fig.
4.2; Pedersen and Calvert 1990, 1991; Demaison 1991).
The relative importance of these two dominant
controlling parameters is still being heavily debated,
although Stein (1986a) already conceived that either
one of these parameters could play a decisive role in
different oceanographic situations. Another parameter
brought into discussion more recently is the protective
role of organic matter adsorption on mineral surfaces
and its influence on organic matter accumulation in
marine sediments (Keil et al. 1994a, b; Mayer 1994, 1999;
2005; Ransom et al. 1998).

4.2.1 Productivity Versus Preservation

Recognition of the sensitivity of organic matter
toward oxidative destruction led to the idea that
the concentration of free oxygen in the water
column and particularly at the sediment/water
interface is the most important factor determining
the amount of organic matter that is incorporated
into sediments (e.g. Demaison and Moore 1980).
The stagnant basin or Black Sea model (Fig. 4.2A),
developed from this idea, is based on the obser-
vation that lack of replenishment of oxygen by
restricted circulation in the bottom part of larger

water bodies can lead to longer-term oxygen-
depleted (anoxic, suboxic; see Table 4.1 for
definition) conditions in the water column and at
the sediment/water interface. In the Black Sea
(exceeding 2000 m water depth in the center), this is
caused by the development of a very stable halo-
cline (preventing vertical mixing) at about 100 m to
150 m water depth. The surface layer is fed by
relatively light riverine freshwater from the conti-
nent, and denser saline deep water is flowing in at a
low rate from the Mediterranean Sea over the shal-
low Bosporus sill. Over time, oxidation of sinking
remnants of decayed organisms consumed all of
the free oxygen in the deeper water, which was not
effectively replenished by Mediterranean water.
Instead, the deep water in the Black Sea (like in
Lake Tanganyika, an analogous contempora-neous
example of a large stratified lake; Huc 1988)
contains hydrogen sulfide restricting life to anae-
robic microorganisms that are commonly thought to
degrade organic matter less rapidly than aerobic
bacteria, although there are also opposing views
(see, e.g., discussion by Kristensen et al. 1995;
Hulthe et al. 1998). Lack of intense organic matter
degradation under anoxic conditions would then
not necessarily require high surface water biopro-
ductivity for high organic carbon concentrations to
occur in the sediment.

The proponents of primary productivity as the
decisive factor controlling organic matter accumulation
(e.g. Calvert 1987; Pedersen and Calvert 1990; Bailey
1991) suggested that changes in primary productivity
with time in different areas of the world, induced by
climatic and related oceanographic changes, explain
the distribution of Cretaceous black shales and more
recent (Quaternary) organic-matter-rich sediments
better than the occurrence of anoxic conditions in
oceanic bottom waters. Reduced oxygen concentrations
in the water column, according to these authors, are a
consequence of large amounts of decaying biomass

Table 4.1    Terminology for regimes of low oxygen concentrations and the resulting biofacies according to Tyson and
Pearson (1991)

Oxygen (ml/l) Environments Biofacies Physiological regime
8.0-2.0 Oxic Aerobic Normoxic
2.0-0.2 Dysoxic Dysaerobic Hypoxic
2.0-1.0    Moderate
1.0-0.5    Severe
0.5-0.2    Extreme
0.2-0.0 Suboxic Quasi-anaerobic

0.0 (H2S) Anoxic Anaerobic Anoxic
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settling toward the ocean bottom and consuming the
dissolved oxygen.

The productivity model (Fig. 4.2B) is based on
high primary bioproductivity in the photic zone of
the ocean as it presently occurs in areas of coastal
upwelling primarily on the western continental
margins, along the equator and as a monsoon-driven
phenomenon in the Arabian Sea and along the Oman
and Somali coasts. Upwelling brings high amounts of
nutrients to the surface, which stimulate phyto-
planktonic growth (e.g. Suess and Thiede 1983;
Thiede and Suess 1983; Summerhayes et al. 1992). On
continental margins, the formation of oxygen-depleted
water masses (oxygen minimum zones) usually implies
that they impinge on the ocean bottom where they
create depositional conditions similar to those in a
stagnant basin. To which extent the reduction in
oxygen concentration at the sediment/water interface
enhances, or is required for, the preservation of
organic matter in the sediments, is the main subject of
debate between the proponents of the productivity
and the preservation models (e.g. Pedersen and
Calvert 1990, 1991; Demaison 1991). For the geological
past, e.g. the Cretaceous, it is also conceivable that
the equable climate on our planet led to a more
sluggish circulation of ocean water worldwide. The
lack of turnover in the water column may have caused
the development of anoxic bottom water conditions
in some parts of the ocean that may explain the
formation of Cretaceous black shales almost synchro-
nously in different areas (Sinninghe Damsté and
Köster 1998 and references therein). Also, trans-
gression as a consequence of eustatic sealevel rise
may have enhanced accumulation of organic matter
in shelf areas (Wenger and Baker 1986) whereas times
of regression may have promoted organic matter
accumulation in prograding delta fans in deeper water.
A detailed discussion of organic matter accumulation
in different oceanic settings, including deep marine
silled basins, progradational submarine fans, upwel-
ling areas, anoxic continental shelves and fluviodeltaic
systems was provided by Littke et al. (1997a).

4.2.2 Primary Production of Organic
Matter and Export to the Ocean
Bottom

The total annual primary production by photosynthetic
planktonic organisms in the modern world oceans has
been estimated to be in the order of 30-50·109 tons of
carbon (Berger et al. 1989; Hedges and Keil 1995).
Oceanic carbon fixation is not evenly distributed, but
displays zones of higher activity on continental margins

(several hundred g Corgm
-2yr-1), whereas the central

ocean gyres are mostly characterized by low primary
production (about 25 g Corgm

-2yr-1; e.g. Romankevitch
1984; Berger 1989). Due to plate tectonics and the
variable distribution of land masses together with
climatic developments, the global amount and
distribution of organic matter production in the ocean
is likely to have undergone significant changes with
geological time.

Of the total biomass newly formed in the photic
zone of the ocean, only a very small portion reaches
the underlying seafloor and is ultimately buried in the
sediment (for reviews of water column processes see
Emerson and Hedges 1988; Wakeham and Lee 1989).
Most of the organic matter enters the biological food
web in the surface waters and is respired or used for
new heterotrophic biomass production. Because of this
intense recycling, it is difficult to determine the organic
matter flux at different levels of the photic zone.
Oceanographers and biogeochemists usually consider
only the flux of organic matter through the lower
boundary of the photic zone and term it ‘new’
production (Fig. 4.3). It equals 100 % of export
production (see below) and is not to be confused with
net photosynthesis which is gross photosynthesis
minus algal respiration. Below this boundary, the
content of organic matter in the water column decreases
due to consumption in the food web and to micro-
biological and chemical degradation as observed from
the analysis of material in sediment traps deployed at
different water depths.

The water depth-dependent flux is termed export
production (Fig. 4.3). Export production decreases
rapidly just below the photic zone. Then, there is mostly
a quasi-linear, slower decline at greater water depths
until the organic matter reaches the benthic boundary
(nepheloid) layer close to the sediment/water interface
where the activity of epibenthic organisms enhances
organic matter consumption again. This enhanced
consumption continues in the upper sediment layer
where burrowing organisms depend on the supply from
the water column. Organic matter degradation eventu-
ally extends deeply into the sediment pile as became
evident from the detection of a so-called deep bio-
sphere at several hundred meters below the seafloor
(e.g. Parkes et al. 1994). However, the rate of organic
matter degradation apparently decreases significantly
with increasing depth of burial. Overall, it is estimated
that only 1 to 0.01 % of the primary production is buried
deeply in marine sediments (cf. Fig. 12.1). The fraction
strongly depends on a number of parameters including
level of primary productivity, water depth, (probably)
oxygen content in the water column and surface
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sediments (the latter affects benthic activity), particle
size, adsorption to mineral surfaces and sediment
porosity.

Although the fraction of organic matter burried in
sediments is small relative to the amount produced by
photosynthesis in oceanic surface waters, empirical
relationships were derived from the analysis of
sedimentary organic matter to estimate oceanic
paleoproductivity (PaP [g C m-2yr-1]) in the geological
past:

PaP = C·ρ(100-φ/100)/0.003·S0.3 (4.1)

In this equation of Müller and Suess (1979), the
Pleistocene paleoproductivity of the (oxic) ocean is
related to the organic carbon content of a sediment in
percent dry weight (C), the density of the dry sediment
(ρ; g cm-3), its porosity (φ; %) and the linear bulk

sedimentation rate (S; cm of total sediment per 1000 yr).
The exponential factor was obtained from calibration
with data from the present ocean. Because it was shown
later that the organic carbon accumulation rate is a
function of the carbon flux near the seafloor, which is
related to both productivity and water depth, Stein
(1986a, 1991) derived a more complex empirical
relationship using flux data of Betzer et al. (1984):

PaP = 5.31[C(ρWB - 1.026φ/100)]0.71·S0.07·D0.45

(4.2)

with ρWB being the wet bulk density of the sediment
and D the water depth. Values from this equation are
proportional, although numerically not identical, to the
results obtained from a third empirical relationship
developed by Sarnthein et al. (1987, 1988):

Fig.4.3 Schematic representation of organic matter flux to the ocean bottom.

4.2 Organic Matter Accumulation in Sediments
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PaP = [15.9C·S·ρ(1-φ)]0.66·SB-C
-0.71·D0.32 (4.3)1

where SB-C is the organic-carbon-free linear bulk
sedimentation rate. Given the complexity of the
sedimentation and burial processes of organic matter,
the wide range of chemical and physical properties of
organic matter from different organisms and the effects
of organic matter alteration during diagenesis after
incorporation in the sediment, the equations can only
be considered rough estimates. It can be expected that
the investigation of more oceanic sediment profiles in
the future will result in further modification of the
equations (cf. also Sarnthein et al. 1992; Stein and
Macdonald 2005 and references therein). In particular,
the extent of mixing of autochthonous marine organic
matter with allochthonous organic matter from the
continents (see 4.2.5) is difficult to estimate. Stein
(1986a) used data from Rock-Eval pyrolysis, calibrated
by organic petrographic data from microscopic ana-
lysis, to derive the marine organic matter fraction of a
sediment from bulk pyrolysis measurements, but the
correlation displays substantial scatter and can only
be regarded a crude approximation.

Müller and Suess (1979) applied their paleo-
productivity relationship (Eq. 4.1) to sediments from
the deep ocean off Northwest Africa. They found
that the Pleistocene interglacial periods had about
the same productivity as that measured in the
present-day ocean. It was three times higher during
glacial periods, probably due to a higher nutrient
supply by more intense mixing of water masses or
stronger coastal upwelling. The more sophisticated
Equation 4.3 of Sarnthein et al. (1987, 1988) yielded
essentially the same results for the last 500,000 years
as those from Equation 4.1. Typical Pleistocene
productivities in the upwelling area off Northwest
Africa ranged between 150 and 300 g Corgm

-2yr-1,
whereas the values were 20 to 50 g Corgm

-2yr-1 in the
central Atlantic Ocean (Stein et al., 1989).

The paleoproductivity equations above describe
the relationship between surface-water productivity
and organic carbon accumulation, specifically under
conditions of an oxic water column. A different rela-
tionship for anoxic depositional settings, suggested
by Bralower and Thierstein (1987), implies that at
least 2 % of the organic carbon in the gross photo-
synthetic production is preserved in the sediments:

PaP = 5C·S(ρWB - 1.026φ/100) (4.4)

Stein (1986a) used this equation to calculate
paleoproductivity in the Mesozoic Atlantic Ocean.
Interpretation was considered preliminary due to the
difficulty of obtaining precise age information, and thus
sedimentation rate data, for the older and more com-
pacted Mesozoic sediments lean in microfossils. The
estimated productivity appeared to have been low off
Northwest Africa in the Jurassic, to have increased
during the Early Cretaceous and to have reached
maximum values similar to those today during Aptian-
Albian times (about 110 million years ago). Inter-
estingly, low paleoproductivity was calculated for the
time of deposition of black shales at the Cenomanian-
Turonian boundary (90 million years ago) indicating
that preservation may have played a more important
role for organic matter accumulation than productivity.

The empirical relationships for paleoproductivity
assessment illustrate how organic matter accumulation
is related to primary productivity through factors such
as organic carbon flux through the water column and
bulk sedimentation rate. In addition, there is evidence
that reduced oxygen concentrations in the water column
enhance organic matter preservation. Thus, organic-
carbon-rich sediments and sedimentary rocks are likely
to be formed by the mutually enhancing effects of
oxygen depletion (static or dynamic; anoxia), and
productivity. In view of this, it appears to be too restric-
tive to assign a single controlling factor (Pederson and
Calvert 1990). For example, an anoxic water column in
the Holocene Black Sea is in itself apparently not
sufficient to lead to black shale formation, whereas the
enhanced primary productivity in equatorial upwelling
areas is not reflected in a high organic carbon content
of the underlying sediments due to oxidation of the
sinking organic matter in the deep oxic waters below
the oxygen-minimum zone.

4.2.3 Transport of Organic Matter Through
the Water Column

The extent of degradation of particulate organic
matter as it sinks through the water column is influ-
enced by the residence time of organic matter particles
in the water column. A measure of vertical transport is
the sinking velocity (vs; m s-1), which for a spherical
particle follows Stokes’ law:

vs = [(ρ2 - ρ1)·g·D2]/18η (4.5)

ρ2 and ρ1 are the densities (g cm-3) of the particle and
the water, respectively, g is the acceleration due to

1 Numerical values in this equation were rounded be-
cause the author of this chapter believes that the
number of decimals in the original publication suggests
more accuracy than is both justified by, and required
for, this empirical estimative approach.
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gravity (m s-2), D is the particle diameter (cm) and η is
the dynamic viscosity (g cm-1s-1). Representative travel
times of different idealized organic particles through a
water column of 1000 m cover a wide range (Table 4.2).
They reflect the effects of different densities and
diameters. Smaller, less dense particles clearly settle
very slowly.

The vastly different travel times of the particle
types range from hours to years. They would be only
slightly higher in saline ocean water. The density
values in the table imply some association of the
organic matter with mineral matter, either biogenic
calcareous or siliceous (plankton) frustules or detrital
mineral matter like clay. Pure organic matter would have
a lower density than water and not sink to the ocean
bottom at all. Densities, e.g., of coal macerals usually
vary between 1.1 and 1.7 g cm-3 (van Krevelen 1961),
and zooplankton fecal pellets often contain more
mineral than organic matter. Degens and Ittekott (1987)
strongly favored the transfer of organic matter by fecal
pellets “which are jetted to the seafloor at velocities
of about 500 m day-1.” Mineral-poor algal particles may
have a very long residence time in the water column
and a high chance of being metabolized before reaching
the ocean floor. In deep oxic ocean water, the “fecal
pellet express” may be an important mechanism of
transporting marine organic matter to the seafloor.
Microscopic analysis often revealed that all of the labile
marine organic matter in such sediments occurred as
‘amorphous’ degraded material in rounded bodies
which were ascribed to fecal pellets (e.g. Rullkötter et
al. 1987). On the other hand, Plough et al. (1997)
measured rapid rates of mineralization of fecal pellets
(relative to their sinking time toward the seafloor). This

is consistent, however, with the observation that only
intact fecal pellets occur in deep-sea sediments (PK
Mukhopadhyay, personal communication 1987).
Obviously, lysis of fecal pellet walls leads to rapid
mineralization of the entire organic content, and only
those fecal pellets reach the seafloor and are embedded
in the sediment which escape this degradative process
in the water column.

Other than noted in Table 4.2, real sinking velocities
strongly depend on particle shape. For example, von
Engelhardt (1973) showed that the sinking velocity of
quartz grains of 10-100 µm diameter is greater by a
factor of about one hundred than that of muscovite
plates of equal diameter. Most organic matter particles,
apart from fecal pellets, are not spherical or well
rounded and thus have a lower sinking velocity than
indicated in Table 4.2. The typical shape of terrigenous
organic particles in young open-marine sediments is
irregularly cylindrical with the longest axis being about
twice the length of the shortest axis (Littke et al. 1991a).

4.2.4 The Influence of Sedimentation Rate
on Organic Matter Burial

Müller and Suess (1979) demonstrated the influence
of sedimentation rate on organic carbon accumu-
lation under oxic open-ocean conditions. They found
that the organic carbon content of marine sediments
increases by a factor of about two for every tenfold
increase in sedimentation rate. The underlying
mechanism was believed to be the more rapid removal
and protection of organic matter from oxic respiration
and benthic digestion at the sediment/water interface
by increasingly rapid burial (cf. Sect. 12.3.3). Also

4.2 Organic Matter Accumulation in Sediments

P artic le  type S inking  v e locity T rav e l time
(m ·s -1 ) (1000 m  w ater)

Large terrigenous  organic  m atter partic le 1.6·10 -3 7.1 days
   ∅  =  100 µm , ρ =  1.3 g·c m -3

S m all terrigenous  organic  m atter partic le 1.6·10 -5 1.9 years
   ∅  =  10 µm , ρ  =  1 .3 g·c m -3

Fec al pe lle t 1 .6·10 -1 2 hours a

   ∅  =  1  m m , ρ  =  1.3 g·c m -3

Q uartz  gra in 8.7·10 -5 133 days
   ∅  =  10 µm , ρ  =  2 .6 g·c m -3

aM eas ured travel t im es  for real fec al pe lle ts :  4 -20 day s /1000 m  (JK  V o lk m an, pers .  c om . 1998)

Table 4.2    Sinking velocity and travel time for spherical particles in nonturbulent freshwater (after von Engelhardt
1973, Littke et al. 1997a)
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conceivable, however, is that the relationship between
sedimentation rate and organic carbon content is based
on the protective effect of organic matter adsorption
on mineral (particularly clay) surfaces, so that organic
matter preservation increases with the increase of
mineral surface available for adsorption (Keil et al.
1994a, b; Mayer 1994,1999, 2005; Collins et al. 1995;
Ransom et al. 1998).

There is general agreement on the positive
relationship between sedimentation rate and organic
carbon content (e.g. Heath et al. 1977; Ibach 1982;
Stein 1986a, b; Bralower and Thierstein 1987; Littke et
al. 1991b). However, in cases where biostratigraphy
provides accurate time control, it has been noted by
Tyson (1987) that deposition of marine sediments with
very high organic matter contents (petroleum source
rocks) often appears to be associated with low rather
than high sedimentation rates. Very high sedi-
mentation rates at some point may lead to low
organic matter concentrations in sediments due to
dilution even if much of the sinking organic matter
is preserved (Note difference between linear sedi-
mentation rate [cm kyr-1] and sediment accumulation
rate [g cm-2yr-1], i.e. in a highly diluted sediment with
a moderate to low organic carbon content deposited
at a high linear bulk sedimentation rate, organic
matter accumulation (or preservation) with time may
still be high).

According to Stein (1986b, 1990), the effects of oxic
and anoxic conditions on marine organic matter
preservation in oceanic sediments can be illustrated
by a simple diagram of sedimentation rate versus
organic carbon content (Fig. 4.4). Field A inside the
diagonal lines represents the sedimentation rate-
controlled accumulation of organic matter under open-
marine oxic conditions. The hatched area B indicates
anoxic or strongly oxygen-depleted conditions over a
wide range of sedimentation rates with low rates being
typical for stagnant basins like the Black Sea. The
shaded area A’, where areas A and B overlap at high
sedimentation rates and high organic carbon contents,
is typical of upwelling areas with high primary produc-
tivity on continental margins where the oxygen-
minimum zone impinges on the shelf and upper slope.
Strong dilution with mineral matter would place a
sediment to the right of area A. Interestingly, the highly
organic-matter-rich Atlantic Ocean black shales from a
so-called ‘world-wide anoxic event’ at the Ceno-
manian-Turonian boundary (about 90 million years ago;
see Herbin et al. 1986) all fall in the left part of area B,
i.e. they appear to have been deposited at low sedi-
mentation rates under anoxic conditions (Stein 1986b).

4.2.5 Allochthonous Organic Matter
in Marine Sediments

As schematically indicated in Fig. 4.2B, marine
sediments do not only accumulate organic matter from
the (mainly planktonic) productivity in the overlying
water column (autochthonous organic matter).
Allochthonous organic matter originates from two other
sources. One of them involves redeposition of marine
sediments after erosion, often from a nearby location.
Typical examples are contour currents along conti-
nental margins or downslope transport events on
(steep) continental margins. In these cases, sediment
initially deposited at shallow(er) water depth is eroded
by currents, mechanical instability (oversteepening),
earthquakes or other tectonic movements. The eroded
sediment is transported down the continental slope
and redeposited at a deeper location. This may occur
as a turbidity current by which sediment is suspended
in the near-bottom water column and then settles again.
This process often involves particle size fractionation,
i.e. at the new site the larger particles are deposited
first and become overlain by a sequence of progres-
sively finer particles (Bouma series). Alternatively, a
massive package of sediment material (slump) of
variable size, from very small to cubic kilometers, may
be redeposited as a whole, usually in a deep slope or
continental rise setting. The effect on the organic

Fig. 4.4 Correlation between marine organic carbon
content and sedimentation rate (after Stein 1986b,
1990). The distinction between fields A, A’ and B is  based
on data derived from Recent to Miocene sediments
deposited in normal open-ocean environments (field A),
upwelling high-productivity areas (field A’) and anoxic
environments (field B).
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matter is different in these two cases. Turbidity currents
may expose the (fossil) organic matter to an oxygen-
rich water mass causing further degradation during
resettling. Compact slump masses may transport
significant amounts of labile organic matter from an
initial depositional setting, favorable for organic matter
preservation (e.g. in an oxygen-minimum zone), to an
oxygen-rich deep-water environment. There is no
enhanced mineralization in this case due to the
undisturbed embedding of organic matter in the
sediment matrix (cf., e.g., Cornford et al. 1979; Rullkötter
et al. 1982).

Redeposition may occur almost synsedimentarily,
i.e. the redeposited allochthonous sediment will differ
only very little in age from the underlying autoch-
thonous sediment. The organic matter content of both
may reflect more or less contemporaneous primary
productivity with the only exception that the remains
of shallow(er)-water species are relocated to a deep-
water environment. This may be more evident in the
mineral fossils than in the organic matter assemblage,
however. Alternatively, redeposition may occur a long
time after initial sedimentation took place. Deep-sea
drilling on the Northwest African continental margin,
for example, has recovered extended Miocene sediment
series which evidently contained slumps a few
centimeters to several meters thick and of various age,
from Tertiary to Middle Cretaceous (von Rad et al. 1979;
Hinz et al. 1984). Investigation of the organic matter on
a molecular level clearly demonstrated the corres-
pondence between slump clasts embedded in the
Lower Miocene sequence and underlying autoch-
thonous Cenomanian series, whereas paleontological
analysis showed a difference between outer shelf/upper
slope species in the slumps and pelagic species in the
autochthonous Cenomanian sediment (Rullkötter et al.
1984).

The second main source of allochthonous organic
matter in marine sediments are the continents. Wind,
rivers and glaciers transport large amounts of land-
derived organic matter into the ocean (e.g.
Romankevitch 1984; Hedges and Keil 1995; Hedges et
al. 1997). Again, two principal types of organic matter
have to be distinguished: (1) fresh or (in geological
terms) recently biosynthesized land plant material and
(2) organic matter contained in older sediments that
were weathered and eroded on the continent in areas
ranging from mountains to coastal swamps. Organic
matter in older sedimentary rocks that are being eroded
may have had an extended history of geothermal
heating at great burial depth into the stages of oil or
bituminous coal formation and beyond. This organic
matter carries a distinct signal of geochemical matu-

ration that can easily be detected by bulk (e.g. atomic
composition, pyrolysis yields, vitrinite reflectance; see
Tissot and Welte 1984) and molecular geochemical
parameters (e.g. compound ratios of specific geoche-
mical fossils or biomarkers; see Peters et al. 2005). Due
to its advanced level of diagenetic alteration, even peat
can be distinguished from fresh organic matter in
marine sediments. Only when sediments have been
buried to a depth corresponding to the temperature
which the eroded organic matter earlier experienced do
both fresh and prematured organic matter continue
diagenesis or maturation at the same rate. Geochemical
reactions are virtually stopped (i.e. reaction rates
become very low) as soon as sediments (and their
organic matter contents) in the course of tectonic uplift
are cooled to a temperature of about 15° C lower than
their previous maximum temperature. During transport
to the ocean, oxidation of organic matter eroded on
land – and of terrestrial organic matter in general – has
an effect similar to maturation. The product is a highly
refractory, inert material , which in organic petrography
is termed inertinite and which is easily recognizable
under the microscope by its high reflectance (see
Taylor et al. 1998 for details). Nevertheless, a substantial
fraction of the terrigenous organic matter is reactive
and metabolizable in the ocean (Hedges et al. 1997).

Wind-driven dust and aerosols carry terrigenous
organic matter over long distances into the oceans and
are estimated to contribute a total annual amount of
3.2·108 t carbon each year (Romankevitch 1984). Entire
organoclasts, like pollen and spores, are blown offshore
as are lipids from the waxy coatings of plant cuticles
adsorbed to mineral grains (e.g. Rommerskirchen et al.
2003 and references therein). This wind-blown terrestrial
material may comprise the bulk of the organic matter in
open-ocean sediments where very little of the primary
marine organic matter reaches the deep ocean floor.
The higher resistance of terrestrial organic matter
toward oxidation has been invoked to explain this
selective enrichment. Summerhayes (1981) estimated
that most organic-matter-rich sediments in the Atlantic
Ocean, including the Cretaceous and Jurassic black
shales, contain a ‘background level’ of 1 % terrestrial
organic matter in total dry sediment.

Not all of this terrigenous material is brought into
the ocean by winds. The most important contributors
are the rivers draining into the ocean. Each year rivers
transport approximately 0.4·109 t of dissolved and
particulate organic carbon from continents to oceans
(Schlesinger and Melack 1981). About 60 % of the river
run-off derives from forested catchments, and the ratio of
the contribution of tropical to temperate and boreal forests
is about two to one (Schlesinger and Melack 1981). Much

4.2 Organic Matter Accumulation in Sediments



4 Organic Matter: The Driving Force for Early Diagenesis

134

of the organic matter discharged by rivers appears
to be soil-derived (Meybeck 1982; Hedges et al.
1986a, b) and highly degraded (Ittekott 1988; Hedges
et al. 1994).

4.3 Early Diagenesis

4.3.1 The Organic Carbon Content
of Marine Sediments

The content of organic carbon in marine surface
sediments from different environments of the present-
day oceans varies over several orders of magnitude
depending on the extent of supply of organic matter,
preservation conditions and dilution by mineral matter.
The results of organic carbon measurements are
usually expressed as TOC (total organic carbon) or
Corg values in percent of dry sediment. Romankevich
(1984) compiled data from a great number of analyses
of ocean bottom sediments by various authors and
from all over the world. The TOC values range from
0.01 % to more than 10 % Corg in a few cases. A statistical
evaluation of data from the early phase of deep-sea
drilling (Deep Sea Drilling Project Legs 1-31) showed

deep-sea sediments to have a mean organic carbon
content of 0.3 %, with a median value of 0.1 % (McIver
1975). However, the range of samples was certainly not
representative, and the organic carbon contents are
probably biased toward higher values. For example, in
the vast abyssal plains and other deep-water regions
far away from the continents, an organic carbon content
as high as 0.05 % is the exception rather than the rule.

In contrast to this, nearshore sediments on conti-
nental shelves and slopes usually have considerably
higher organic carbon contents. Typical hemipelagic
sediments on outer shelves and continental slopes
range between 0.3 and 1 % Corg. Sediments within the
oxygen-minimum zone of upwelling areas contain
several percent of organic carbon with exceptional
values exceeding 10 % Corg where upwelling is very
intense, e.g. off Peru and southwest Africa, and where
the oxygen-minimum zone extends into the shallow
waters of the shelf. Still, generalizations are difficult to
make because sedimentation conditions are highly
variable in space.

Generalizations are also difficult to make with respect
to variation of organic carbon content with time. For
long periods of the geological record the present-day
conditions of organic carbon burial can be projected
to the past. There were times, however, mostly relatively

Fig. 4.5 Three independent approaches used to quantify organic matter degradation in anoxic coastal sediments: (A)
carbon budget based on measurement of recycled (Jout; CO2 and methane) and calculation of buried (Jbur) carbon fluxes;
(B) kinetic modeling of the concentration/depth distribution of organic carbon (G; G0 and G∞ are organic carbon
contents at the top and the bottom of the studied depth interval, respectively); (C) calculated organic carbon
remineralization based on modeled or measured rates of sulfate reduction and methanogenesis (CH2O stands for organic
matter) (after Martens and Klump 1984).
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short and often termed an event, when high amounts
of organic matter were preserved, not only in shallow
epicontinental seas, but also in deep-sea sediments.
Examples are the Jurassic and particularly Cretaceous
black shales of the Atlantic and Pacific Oceans with
extreme organic carbon contents of 20-30 % and more
(e.g. Herbin et al. 1986; Dumitrescu and Brassell 2005).
Specific oceanographic conditions prevailed during the
younger geological past in semi-enclosed basins like
the Mediterranean Sea. Plio-Pleistocene sapropels in
the eastern Mediterranean Sea were deposited at
regular time intervals due to climatic changes induced
by orbital forces, in this case the 23,000 year cycle of
precession of the Earth’s axis. Some of the Mediter-
ranean sapropels, recovered during Leg 160 of the
international Ocean Drilling Program, yielded more than
30 % Corg (Emeis et al. 1996).

The range of organic carbon contents in sediments
and the associated variation in conditions for organic
matter preservation imply that the amount of biogenic
information incorporated in sediments as organic matter
may vary drastically. In the same way, the extent to
which the preserved organic matter is representative
of the ecosystem in the water column above, may be
vastly different. It is not surprising then that organic
geochemists have preferentially investigated sediments
with high organic carbon contents particularly when
emphasis was on the formation of fossils fuels
(petroleum or natural gas) or on molecular organic
geochemical analysis which – at least in its early days
– required relatively large amounts of material. It has to
be kept in mind that this bias has certainly also
influenced the choice of examples given throughout
this chapter, although attempts are made to contrast
case studies representing different environmental
conditions in the oceanic realm.

Within a sediment, the organic carbon content
decreases with increasing depth due to mostly
microbiological remineralization, but possibly also due
to abiological oxidation, during early (and later)
diagenesis. The entire process takes place in a complex
redox system where organic matter is the electron donor
and a variety of substrates are electron acceptors. In
other words, whenever organic matter is destroyed or
altered by oxidation, a reaction partner has to be
reduced. In an extended investigation of the biogeo-
chemical cycling in an organic-matter-rich coastal
marine basin, Martens and Klump (1984) schematically
illustrated three independent approaches to quantify
organic matter degradation in sediments with anoxic
surface layers (Fig. 4.5). These involve (a) a mass
balance of incoming, recycled and buried carbon fluxes,
(b) kinetic modeling of the concentration/depth

distribution of organic carbon and (c) measurement of
degradation rates in the sediment column. The redox
zones in the example given in Fig. 4.5 are restricted to a
depositional environment with anoxic surface sediment
and comprise only sulfate reduction and methano-
genesis. In the case of oxic conditions in the upper
sediment layer, there would be additional oxygen,
nitrate, Mn(IV) and Fe(III) reduction zones (Froelich et
al. 1979; cf. also Fig. 4.6, where these zones are
indicated, and Chap. 5).

Martens et al. (1992) applied the approaches in Fig.
4.5 to study the composition and fate of organic matter
in coastal sediments of Cape Lookout Bight2. In
separate studies it had previously been established
that organic matter was mostly supplied from back-
barrier island lagoons and marshes landward of the
bight at a steady rate. Furthermore, the organic matter
was extensively physically and biologically recycled
in the lagoon before it ultimately accumulated in the
sediments. Thus, systematic downcore decreases in
amount of labile organic matter had to result from early
diagenesis rather than variations of supply. The authors
tried to answer the question of what fraction of the
incoming particulate organic carbon (POC) is remine-
ralized during early diagenesis under the conditions
described by solving the simple mass balance equa-
tion.

POC input = POC remineralized + POC buried
(4.6)

In their experience it has proven easiest to measure
fluxes resulting from POC remineralization and burial
and then to calculate POC input by adding these fluxes
together. Numerical values of the fluxes are given in
Figure 4.6. In this model, the incoming POC is either
remineralized to CO2, CH4 and DOC (dissolved organic
carbon) or buried. The CO2, CH4 and DOC produced
during remineralization are either lost to the water
column via sediment-water chemical exchange or buried
as carbonate and dissolved components of sediment
pore waters. Using 210Pb-based sedimentation rates, the
POC burial rate was found to be 117±19 mol C m-2yr-1.
Sediment-water chemical exchange accounts for losses
of 40.6±6.6 mol C m-2yr-1 as CO2, CH4 and DOC, whereas
7.0±1.1 mol C m-2yr-1 of these species, including

4.3 Early Diagenesis

2 Cape Lookout Bight (North Carolina, U.S.A.) is an
“end member” environment with respect to sedimenta-
tion rate (10 cm per year!), organic matter composi-
tion, domination of anoxic degradation processes and
direct ebullition of methane gas, i.e. not typical for
present-day open-ocean marine sediments.
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carbonate formed from CO2, are buried (Fig. 4.6). The
dissolved sediment-water exchange and burial fluxes
sum to a total POC remineralization rate of 47.6±5.7 mol
C m-2yr-1. When this value is added to the POC burial
rate, a total POC input of 165±20 mol C m-2yr-1 can be
calculated from equation 4.6. From this result it follows
that 29±5 % of the incoming POC is remineralized as an
average over the first about ten years after sedimen-
tation in Cape Lookout Bight.

Using a similar approach, Alperin et al. (1992)
determined the POC remineralization rate for sediments
of Skan Bay, Alaska, a pristine embayment with oxygen-
depleted bottom water (<0.4 ml O2/l water) and sulfidic
surface sediments and with a shallow sill limiting
advection of oxygen-rich water from the Bering Sea.
Total sediment remineralization rate was calculated by
three independent approaches: (1) the difference
between POC deposition and preservation; (2) the
quantity of carbon recycled to the water column and
buried at depth; (3) depth-integrated rates of bacterial
metabolism. The budget indicates that 84±3 % of the
organic carbon deposited is remineralized in the upper
meter of the sediment column representing approxi-
mately 100 years. A steady state is nearly reached,
however, at a depth of about 70 cm, i.e. remineralization
is already very slow after approximately 70 years of
burial in Skan Bay. The initial content of more than 9 %
organic carbon at the sediment surface dropped to less

than 2 % of dry sediment at 0.7 to 1 m depth and most
of that would survive deeper burial.

A third case study of organic carbon recycling and
preservation in coastal environments, including a
comprehensive budget of inorganic reactants and
products, is from the Aarhus Bay (Denmark), a shallow
embayment in the Kattegat that connects the North
Sea with the Baltic Sea (Fig. 4.7; Jørgensen 1996).
The bulk annual sedimentation rate in Aarhus Bay is
about 2 mm yr-1. Photosynthesis is in the upper
mesotrophic range and annually produces organic
matter corresponding to 21.8 mol C m-2yr-1. Plank-
tonic oxygen respiration corresponds to minera-
lization of 68 % of the primary productivity and 32%
sedimentation, whereas direct sediment trap
measurements accounted for 45% deposition. Of
these 9.9 mol C m-2yr-1, about 2.2 mol C m-2yr-1 are
buried below the bioturbated zone. Metabolization in
the sediment mainly occurs by oxygen and sulfate as
electron acceptors, whereas nitrate, Mn(IV) and Fe(III)
play a subordinate role. Methanogenesis was not
included in the study of the carbon budget because
only the water column and the shallow surface sediment
were studied.

The three case studies show that organic matter
preservation and, thus, organic carbon contents
strongly depend on the specific local environmental
conditions. The extent of remineralization in these three

Fig. 4.6 Fluxes of carbon associated with organic matter supply, degradation and burial in Cape Lookout Bight
sediments. The unit of all numerical flux values is moles C m-2yr-1 (after Martens et al. 1992).
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cases ranges from about 30 to 85 % in the upper
sediment layers comprising, however, different time
ranges. They correspond to the range quoted for
continental shelf and estuarine sediments (20 to 90 %)
by Henrichs and Reeburgh (1987). Apparently, organic
carbon flux, bulk sedimentation rate, water depth,
oxygen concentration in the bottom water and related
extent of bioturbation of surface sediments all have an
influence on the intensity of organic matter remine-
ralization during early diagenesis and on how much
organic matter is buried to a sediment depth where
further remineralization only proceeds very slowly.
Only that organic matter fraction can be considered to
become fossilized in a strict sense and to enter the
geological organic carbon cycle.

Methanogenesis

As indicated in Figure 4.6, the last step in the sedi-
mentary metabolic pathway is methanogenesis. The
formation of methane at a depth level, where all sulfate
has been consumed, involves a group of strictly anae-
robic archaea, collectively called methanogens. They
use a small number of different low-molecular-weight
substances for the biosynthesis of methane which,
together with elemental hydrogen, in turn are formed

by bacterial fermentation from more complex organic
substances during early diagenesis. The terminal
electron acceptor in methanogenesis is carbon. The
most prominent pathways are the reduction of carbon
dioxide with molecular hydrogen and the transformation
of acetic acid into methane and carbon dioxide (Eq.
4.7), although formic acid or methanol may be used as
substrates as well.

CO2 + 4 H2 →→→→→  CH4 + 2 H2O
CH3COOH →→→→→  CH4 + CO2 (4.7)

Methanogenesis is widespread in the marine
environment, particularly on continental margins or in
stagnant basins, where sufficient organic matter is
deposited so that anoxic conditions occur at shallow
depth below the seafloor (e.g. D’Hondt et al. 2002).
The amounts of methane formed can be enormous in
certain areas. Under suitable conditions of low
temperature and high pressure this biogenic methane
and pore water may form a solid, ice-like substance
called methane clathrate or, more generally, gas hydrate
(see Chap. 14). Another important process which is
related to methanogenesis and of which many micro-
biological and biogeochemical details have only been
revealed in recent years and still are being investigated,

4.3 Early Diagenesis

Fig. 4.7 Summary of fluxes and process rates measured in Aarhus Bay between May 1990 and May 1991. Numbers in
parentheses were derived by difference while the others are based on independent rate measurements and calculations.
Unit are given in mol m-2yr-1 for each component. DIN = dissolved inorganic nitrogen; DON = dissolved organic
nitrogen (after Jørgensen 1996).

CO2

CO2
14.8O2

O2 O2

Plankton

Annual budget in Aarhus Bay
(mol m yr )-2 -1

org. C

org. C

21.8

N

P
0.21

600? N: 1.06
P: 0.064
(7.0)
9.9

HPO4
2-

DIN
+ urea

DON

(0.18)
 0.96
(0.90)

 0.34
(0.44)

org. N

CO2

1.2 (7.7)

N: 0.16
P: 0.020

2.2

CaCO3

H O2

 6.5
(9.2)9.8

Se
di

m
en

t
W

at
er

 c
ol

um
n

Accumulation Mineralization

3.35

N2

NO3
-

Mn(IV)

Mn2+

Fe(III)

Fe2+

SO4
2-

H S2

FeS2

0.16
1.72

1.6
0.8

0.15

A
tm

os
ph

er
e



4 Organic Matter: The Driving Force for Early Diagenesis

138

is the anaerobic methane oxidation by consortia of
archaea and sulfate-reducing bacteria, formally the
reverse of methanogenesis (AOM; see Chap. 8).

4.3.2 Chemical Composition of Biomass

Apart from considering the fate of bulk organic matter
(or organic carbon) during diagenesis, organic geo-
chemistry has developed a more sophisticated under-
standing of diagenetic organic matter transformation
down to the molecular level. Fundamental to this
understanding is a comparison of the organic consti-
tuents of geological samples with the inventory of
extant organisms. This was, and still partly is, hampered
by the limited knowledge of the natural product
chemistry particularly of unicellular marine algae,
protozoans and bacteria.

The simplest way of describing the chemical nature
of biomass is by its elemental composition. For marine
phytoplankton as primary producers a relationship was
found to the nutrients available in seawater which led
to the definition of the Redfield ratio as C:N:P = 106:16:1
(Redfield et al. 1963). Derived from this is an average
molecular formula of phytoplankton organic matter
related to the general process of phytosynthesis (of
which the reverse signifies remineralization):

106 CO2 + 106 H2O + 16 NH3 + H3PO4 →→→→→
(CH2O)106(NH3)16H3PO4 + 106 O2

(4.8)

The formula of the organic matter product is often
reduced to the summary version of C106H263N16O110P. It
has no real chemical meaning in terms of molecular
structure because it contains more hydrogen than the
bonds of all the other atoms can account for. The
reason is that the generalized average formula (i.e. the
product in Eq. 4.8) is just the sum of separate neutral
molecules which are involved in biosynthesis of
organic matter. The formation of a molecular structure
requires the formal loss of a number of molecules of
water for condensation. Whereas the formula does not
represent the correct elemental organic matter compo-
sition of marine phytoplankton, at least not for
hydrogen and oxygen, it has to be kept in mind that it
is a crude generalisation in itself. It would certainly
vary with nutrient conditions and planktonic species
as has been observed, e.g., by Takahasi et al. (1985) in
a study of plankton biomass from the Atlantic and
Indian Oceans which resulted in a modified Redfield
ratio of 122(±18) : 16 : 1. There are quite a number of
more recent studies that confirm this kind of deviation

from the Redfield ratio or extend the ratio by inclusion
of trace metals (e.g. Leonardos and Geider 2004; Ho et
al. 2003; cf. also Chap. 6).

Food chain and early diagenetic processes change
the initial elemental composition drastically. Organic
matter in sediments relative to the primary producers is
enriched particularly in carbon and hydrogen, whereas
it is depleted in oxygen (but the degree depends on the
extent of oxidation of sedimentary organic matter),
nitrogen and phosphorus. Depletion in phosphorus is
due to the facile hydrolytic cleavage of bound
phosphate groups. Loss of nitrogen occurs by prefe-
rential degradation of organic nitrogen compounds as
discussed later (see Sect. 4.4 for a discussion of C/N
ratios). Sulfur, not originally included in the general
formula, would be equal to or less in content than
phosphorus. The enrichment of sulfur in fossil organic
matter is, however, not due to a relative enrichment in
the course of preferential loss of other elements (as is
the case for C and H). Sulfur enrichment rather is a
consequence of diagenetic incorporation of reduced
inorganic sulfur species (like HS- or corresponding
polysulfides) which are formed from seawater sulfate
by sulfate-reducing microorganisms in shallow
sediments under anoxic conditions (see Chap. 8).

On the next higher level, the chemical composition
of living organisms in the biosphere, despite their
diversity, can be confined to a limited number of
principal compound classes. Their proportions vary in
the different groups of organisms as is evident from
the estimates of Romankevitch (1984) for a few types
of marine organisms (Table 4.3). Also, within the groups
the compound class composition is highly variable
(Table 4.4). It may even depend on the growth stage
for a single species. The compound classes in turn
comprise a very large number of single compounds
with different individual chemical structures, although
enzymatic systems limit the potential chemical diversity
(that is why there are chemical biomarkers of taxonomic
significance). Many of the compound classes are also
represented in fossil organic matter, although not in
the same proportions as they occur in the biosphere
because of their different stabilities toward degradation
and modification of original structures during
sedimentation and diagenesis.

Nucleic Acids and Proteins

Nucleic acids, as ribonucleic acids (RNA) or desoxy-
ribonucleic acids (DNA), are biological macromolecules
carrying genetic information. They consist of a regular
sequence of phosphate, sugar (pentose) and a small
variety of base units, i.e. nitrogen-bearing heterocyclic
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compounds of the purine or pyrimidine type. During
biosynthesis, the genetic information is transcribed into
sequences of amino acids, which occur as peptides,
proteins or enzymes in the living cell. These
macromolecules vary widely in the number of amino
acids and thus in molecular weight. They account for
most of the nitrogen-bearing compounds in the cell
and serve in such different functions as catalysis of
biochemical reactions and formation of skeletal
structures (e.g. shells, fibers, muscles).

During sedimentation of decayed organisms,
nucleic acids and proteins are readily hydrolyzed
chemically or enzymatically into smaller, water-soluble
units. Refined analytical techniques, however, allow
traces of DNA in sedimentary sequences, in combi-
nation with lipids, to be used to trace changes in phyto-
planktonic populations with geological time (e.g.
Coolen et al. 2004). Amino acids occur in rapidly
decreasing concentrations in recent and subrecent
sediments, but may also survive in small concentrations
in older sediments, particularly if they are protected,
e.g., by the calcareous frustules or shells of marine
organisms. Nitrogen-bearing aromatic organic com-
pounds in sediments and crude oils may relate to the
purine and pyrimidine bases in nucleic acids, but this
awaits unequivocal confirmation. A certain fraction of
the nucleic acids and proteins reaching the sediment
surface may be bound into the macromolecular organic
matter network (humic substances, kerogen) of the
sediments and there become protected against further
rapid hydrolysis. Experiments in the laboratory have
shown that kerogen-like material (melanoidins) can be
obtained by heating amino acids with sugar.

Saccharides, Lignin, Cutin, Suberin

Sugars are polyhydroxylated hydrocarbons that
together with their polymeric forms (oligosaccharides,
polysaccharides) constitute an abundant proportion
of the biological material, particularly in the plant
kingdom. Polysaccharides occur as supporting units
in skeletal tissues (cellulose, pectin, chitin) or serve as
an energy depot, for example, in seeds (starch).
Although polysaccharides are largely insoluble in
water, they are easily converted to soluble C5 (pentoses)
and C6 sugars (hexoses) by hydrolysis and, thus, in
the sedimentary environment will have a short-term
fate similar to that of the proteins.

Lignin is a structural component of plant tissues
where it occurs as a three-dimensional network together
with cellulose. Lignin is a macromolecular condensation
product of three different propenyl (C3-substituted)
phenols (one type of few biogenic aromatic
compounds). It is preserved, even during transport from
land to ocean and during sedimentation to the seafloor
where it occurs predominantly in humic organic matter
of deltaic environments.

Cutin and suberin are lipid biopolymers of vari-
able composition which are part of the protective
outer coatings of all higher plants. Chemically, cutin
and suberin are closely related polyesters com-
posed of long-chain fatty and hydroxy fatty acid
monomers. Both types of biopolymers represent
labile, easily metabolizable terrigenous organic
matter because they are sensitive to hydrolysis.
After sedimentation, they have only a moderate pre-
servation potential.

Table 4.3 Biochemical com-
position of marine organ-
isms (after Romankevitch
1984).

Table 4.4 The main che-
mical constituents of ma-
rine plankton in percent
of dry weight (after Krey
1970) .

4.3 Early Diagenesis

Organism Proteins (% ) Carbohydrates (% ) Lipids (% ) Ash (% )
Phytoplankton 30 20 5 45
Phytobenthos 15 60 0.5 25
Zooplankton 60 15 15 10
Zoobenthos 27 8 3 62

Organism Proteins (% ) Carbohydrates (% ) Lipids (% ) Ash (% )
Diatoms 24-48 0-31 2-10 30-59
Dinoflagellates 41-48 6-36 2-6 12-77
Copepods 71-77 0-4 5-19 4-6
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Insoluble, Nonhydrolyzable Highly Aliphatic
Biopolymers

Insoluble, nonhydrolyzable aliphatic biopolymers were
discovered in algae and higher plant cell walls as well
as in their fossil remnants in sediments (see de Leeuw
and Largeau 1993; van Bergen et al. 2004  for overviews).
These substances are called algaenan, cutan or suberan
according to their origin or co-occurrence with cutin
and suberin in extant organisms. They consist of
aliphatic polyester chains cross-linked with ether
bridges (Blokker et al. 1998, 2000) which render them
very stable toward degradation. Pyrolysis and other
rigorous methods are needed to decompose these
highly aliphatic biopolymers. This explains why they
are preferentially preserved in sediments.

Monomeric lipids

Biologically produced compounds that are insoluble
in water but soluble in organic solvents such as
chloroform, ether or acetone are called lipids. In a wider
sense, these also include membrane components and
certain pigments. They are common in naturally occur-
ring fats, waxes, resins and essential oils. The low water
solubility of the lipids derives from their hydrocarbon-
like structures which are responsible for their higher
survival rates during sedimentation compared to other
biogenic compound classes like amino acids or sugars.

Various saturated and unsaturated fatty acids are
the lipid components bound to glycerol in the
triglyceride esters of fats (see Fig. 4.8 for examples of
chemical structures of lipid molecules). Cell membranes
consist to a large extent of fatty acid diglycerides with
the third hydroxyl group of glycerol bound to phos-
phate or another hydrophilic group. In waxes, fatty
acids are esterified with long-chain alcohols instead of
glycerol. Plant waxes contain unbranched, long-chain
saturated hydrocarbons (n-alkanes) with a
predominance of odd carbon numbers (e.g. C27, C29,
C31) in contrast to the acids and alcohols which show
an even-carbon-number predominance.

Isoprene (2-methylbuta-1,3-diene), a branched
diunsaturated C5 hydrocarbon, is the building block of
a large family of open-chain and cyclic isoprenoids
and terpenoids (Fig. 4.8). Essential oils of higher plants
are enriched in monoterpenes (C10) with two isoprene
units. Farnesol, an unsaturated C15 alcohol, is an
example of a sesquiterpene with three isoprene units.
The acyclic diterpene phytol is probably the most
abundant isoprenoid on Earth. It occurs esterified to
chlorophyll a and some bacteriochlorophylls and is,

thus, widely distributed in the green pigments of aquatic
and subaerial plants. Sesterterpenes (C25) are of
relatively minor importance except in some methano-
genic bacteria (cf. Volkman and Maxwell 1986).

Cyclization of squalene (or its epoxide) is the bio-
chemical pathway to the formation of a variety of
pentacyclic triterpenes (C30) consisting of six isoprene
units. Triterpenoids of the oleanane, ursane, lupane
and other less common types are restricted to higher
plants, and in exceptional cases may dominate the
extractable organic constituents of deep-sea sediments
like in Baffin Bay (ten Haven et al. 1992). The geo-
chemically most important and widespread triterpenes
are from the hopane series, like diploptene which
occurs in ferns, cyanobacteria and other eubacteria.
The predominant source of hopanoids are bacterial cell
membranes, however, which contain bacterioho-
panetetrol (and closely related molecular species) as
rigidifiers. This C35 compound has a sugar moiety
attached to the triterpane skeleton via a carbon-carbon
bond (Fig. 4.8). The widespread distribution of bacteria
on Earth through time makes the hopanoids ubiquitous
constituents of all organic-matter assemblages (Rohmer
et al. 1992).

Steroids are tetracyclic compounds that are also
biochemically derived from squalene epoxide
cyclization, but have lost, in most cases, up to three
methyl groups. Cholesterol (C27) is the most important
sterol of animals and occurs in some plants as well.
Higher plants frequently contain C29 sterols (e.g.
sitosterol) as the most abundant compound of this
group. Steroids together with terpenoids are typical
examples of biological markers (chemical fossils)
because they contain a high degree of structural
information that is retained in the carbon skeleton after
sedimentation (e.g. Poynter and Eglinton 1991; Peters
et al. 2005) and often provides a chemotaxonomic link
between the sedimentary organic matter and the
precursor organisms in the biosphere.

Carotenoids, red and yellow pigments of algae and
land plants, are the most important representatives of
the tetraterpenes (C40). Due to their extended chain of
conjugated double bonds (e.g. β-carotene; Fig. 4.8)
they are labile in most depositional environments and
are found widespread but in low concentrations in
marine surface sediments. Aromatization probably is
one of the dominating diagenetic pathways in the
alteration of the original structure of carotenoids in the
sediment. Diagenetic intermolecular cross-linking by
sulfur bridges may preserve the carotenoid carbon
skeletons to a certain extent.

A second pigment type of geochemical significance
are the chlorophylls and their derivatives that during
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diagenesis are converted into the fully aromatized
porphyrins. Most porphyrins in sediments and crude oils
are derived from the green plant pigment chlorophyll a
and from bacteriochlorophylls.

4.3.3 The Principle of Selective
Preservation

Organic compounds and compound classes differ in
their potential to be preserved in sediments and to sur-
vive early diagenesis. As a general rule, water-soluble
organic compounds, or organic macromolecules, which
are easily hydrolyzed to water-soluble monomers, have
a low preservation potential. In contrast to this,
compounds with a low solubility in water such as lipids
and hydrolysis-resistant macromolecules are selec-
tively enriched in the sedimentary organic matter. Table
4.5 is a compilation of the source and preservation
potential of some common organic compound types. It
is based on anticipated chemical stabilities related to

structures, reported biodegradability and reported
presence in the geosphere, but not on mechanisms of
preservation such as mechanical protection or
bacteriostatic activities of certain chemicals in the
(paleo)environment (de Leeuw and Largeau 1993).

The near-surface sediment layers represent the
transition zone where biological organic matter is
transformed into fossil organic matter. There are two
slightly differing views about the nature of this process.
The classical view (Fig. 4.9; Tissot and Welte 1984)
implies that biopolymers are (mainly) enzymatically
degraded into the corresponding biomonomers. The
monomers then are either used by sediment bacteria
and archaea to synthesize their own biomass or as a
source of energy. Alternatively, they may randomly
recombine by condensation or polymerization to
geomacromolecules (see Sect. 4.3.4). The discovery of
nonhydrolyzable, highly aliphatic biopolymers in
extant organisms and geological samples has led to a
reappraisal of the processes involved in the formation

Fig. 4.9 From biomass to geomacromolecules - a summary of the classical view of processes involved in the
transformation of biogenic organic matter into kerogen and geochemical fossils (after Tissot and Welte 1984).
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of geomacromolecules (Tegelaar et al. 1989; de Leeuw
and Largeau 1993). In a scheme modified from that of
Tissot and Welte (1984), more emphasis is placed on
the selective preservation of biopolymers (Fig. 4.10).
This means that the role of consecutive and random
polymerisation and polycondensation reactions of
biomonomers formed by hydrolysis or other degra-
dative pathways may be less important than previously
thought. Support to this view is given by the detection
of the close morphological relationship between some
fossil ‘ultralaminae’ and the thin resistant outer cell
walls of green microalgae (Largeau et al. 1990).

To complete the modified view of geomacromo-
lecule formation, the process of ‘natural vulcanisation’
(Fig. 4.10) has been proposed to play a major role under
suitable conditions (e.g. Sinninghe Damsté et al. 1989a,
1990; de Leeuw and Sinninghe Damsté 1990). Many
marine sediments contain high-molecular-weight

organic sulfur substances that are thought to be derived
from intermolecular incorporation of inorganic sulfur
species (HS-, polysulfides) into functionalized lipids
during early diagenesis. This requires the reduction of
seawater sulfate by sulfate-reducing microorganisms
under anoxic conditions (see Chap. 8). Sulfur
incorporation into organic matter is further enhanced
in depositional systems that are iron-limited, i.e.
organosulfur compounds are particularly abundant in
areas that receive little continental detritus with clays
enriched in iron and where instead biogenic carbonate
or opal is the dominant mineral component of the
sediment.

As a consequence of the discussion of organo-
mineral interaction for the preservation of organic
matter in sediments (see Sect. 4.2), Collins et al. (1995)
raised the question if sorption of organic matter on
mineral surfaces did not lead to a rebirth of the classical

Table 4.5   Inventory of selected biomacromolecules, their occurrence in extant organisms, and their potential for
survival during sedimentation and diagenesis (after Tegelaar et al. 1989 and de Leeuw and Largeau 1993; see there for
chemical structures). The ‘preservation potential’ ranges from - (extensive degradation under all depositional
conditions) to ++++ (little degradation under any depositional conditions).

4.3 Early Diagenesis

Biomacromolecules Occurrence ‘Preservation potential’

Starch Vascular plants; some algae; bacteria -
Glycogen Animals -
Poly-β-hydroxyalkanoates Eubacteria -
Cellulose Vascular plants; some fungi -/+
Xylans Vascular plants; some algae -/+
Galactans Vascular plants; algae -/+
Gums Vascular plants +
Alginic acids Brown algae -/+
Dextrans Eubacteria; fungi +
Xanthans Eubacteria +
Chitin Arthropods; copepods; crustacea; fungi; algae +
Proteins All organisms -/+
Mureins Eubacteria +
Teichoic acids Eubacteria +
Bacterial lipopolysaccharides Gram-positive eubacteria ++
DNA, RNA All organisms -
Glycolipids Plants; algae; eubacteria +/++
Polyisoprenoids (rubber, gutta) Vascular plants +
Polyprenols and dolichols Vascular plants; bacteria; animals +
Resinous polyterpenoids Vascular plants +/++
Cutins, suberins Vascular plants +/++
Lignins Vascular plants ++++
Sporopollenins Vascular plants +++
Algaenans Algae ++++
Cutans Vascular plants ++++
Suberans Vascular plants ++++
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condensation pathway for geomacromolecule
formation. Neither adsorption nor condensation alone
may be a satisfactory process for preservation of labile
organic substances. Adsorption of monomers can
merely retard their biodegradation, and condensation
is not favored in (pore water) solution. However, if the
processes operate in concert – adsorption promoting
condensation and condensation enhancing adsorption
of further reactants – a plausible mechanism for the
preservation of organic matter arises. Condensation
reactions between adsorbed compounds would lead
to the formation of very strongly bound macromo-
lecules resulting in a marked divergence in the
diagenetic history of the adsorbed monolayer and
nonmineral-bound organic matter. More direct evidence
is, however, still required to establish the quantitative
importance of this process relative to other processes,
such as selective preservation.

4.3.4 The Formation of Fossil Organic
Matter and its Bulk Composition

The geomacromolecular organic matter surviving
microbial degradation in the early phase of diagenesis
consists of three fractions, termed fulvic acids, humic
acids and humin. They are ill-defined in their chemical
structures, but are operationally distinguished by their
solubilities in bases (humic and fulvic acids) and acids
(fulvic acids only). All three are considered to be
potential precursors of kerogen, which designates the
type of geomacromolecules formed at a later stage of
diagenesis. Kerogen is also only operationally defined
as being insoluble in non-oxidizing acids, bases and
organic solvents (Durand 1980; Tissot and Welte 1984).
Besides this high-molecular-weight organic material,
sediments contain low-molecular-weight organic
substances that are collectively called bitumen and are

Fig. 4.10   The selective preservation pathway model of kerogen formation (after de Leeuw and Largeau 1993 and
Tegelaar et al. 1989).
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extractable with organic solvents. Bitumen consists of
nonpolar hydrocarbons and a variety of polar lipids
with a great number of different functional groups, such
as ketones, ethers, esters, alcohols, fatty acids and
corresponding sulfur-bearing compounds.

Fulvic acids and subsequently humic acids
decrease in their concentrations over time as a result
of progressive combination reactions with increasing
diagenesis. This process of kerogen formation concur-
rently involves the elimination of small molecules like
water, carbon dioxide, ammonia or hydrogen sulfide
(Huc and Durand 1977). As a consequence, the degree
of condensation of the macromolecular kerogen
increases. In terms of elemental composition it becomes

enriched in carbon and hydrogen and depleted in
oxygen, nitrogen and sulfur. This carbon- and
hydrogen-rich kerogen ultimately is the source material
for the formation of petroleum and natural gas which
starts when burial is deep and temperatures are so high
that the carbon-carbon bonds in the kerogen are
thermally cracked. The main phase of oil formation
typically occurs between 90 °C and 120 °C, but the range
largely depends on the heating rate (slow or rapid burial)
and on the chemical structure of the kerogen. For
example, kerogens rich in sulfur start oil formation earlier
because carbon-sulfur bonds are broken more easily
than carbon-carbon bonds. The product, however, is a
heavy oil (high density, high viscosity) rich in sulfur

4.3 Early Diagenesis

Fig. 4.11   Kerogen types and their geochemical evolution with increasing burial (temperature increase) in a van Krevelen
diagram of atomic H/C versus O/C ratios from elemental analysis (after Tissot and Welte 1984). Roman numbers indicate
kerogen types, bold trend lines are idealized average values from a large number of data points. In organic geochemistry,
diagenesis is the early (low-temperature) range of this evolution, catagenesis signifies the phase of petroleum and wet gas
formation by thermal cracking, and metagenesis is the high-temperature range where still some dry gas (methane, ethane) is
formed. Numbers associated with broken lines in the diagram (0.5, 1, 2) indicate approximate vitrinite reflectance (Ro)
values commonly measured to indicate thermal maturity. Vitrinites are fossil woody organic particles of characteristic shape
which increase their reflectivity as a function of geothermal history; the amount of reflected light can be quantitatively
measured with a light microscope under defined conditions (see Sect. 4.5.3 and Taylor et al. 1998 for more details).
.
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and economically less valuable than light and sulfur-
lean crude oil. The difference between an oil shale and
a rock actively generating petroleum is only the thermal
history. An oil shale simply has not completed the phase
of diagenetic release of small molecules described
above. For more details on petroleum formation consult
the textbooks of Tissot and Welte (1984), Hunt (1996)
and Welte et al. (1997).

Molecular structural information about kerogen can
be inferred from elemental analysis, spectroscopic
methods and the results of pyrolysis and selected
chemical degradation experiments (see Rullkötter and
Michaelis 1990 for an overview). Yet, with the
understanding that kerogen is a complex heteroge-
neous macromolecular substance with contributions
from a variety of organisms and a wide range of chemical
alterations that occurred during diagenesis, it becomes
clear that there will be no single molecular structure of
kerogen, and only certain characteristic units can be
described at the molecular level.

Kerogens have been classified into types derived
from H/C and O/C atomic ratios in a van Krevelen
diagram (Fig. 4.11). The types indicated are related to
the hydrogen and oxygen richness, relative to carbon,
of the biogenic precursor material. Roughly, kerogen
Type I is related to hydrogen-rich organic matter as
occurring, e.g., in waxes and algal mats, kerogen Type
II represents typical oceanic plankton material, and
kerogen Type III is typical of land-derived organic
matter which has been transformed into lignite or coal.
A kerogen type IV not indicated in the diagram has
occasionally been defined to have very low H/C ratios
and to represent highly oxidized, largely inert organic
matter. The bold solid trend lines indicated in Figure
4.11 then represent the changes in elemental
composition initially occuring during diagenesis
(evolution grossly parallel to the x-axis due to loss of
oxygen functionalities) and later during oil and gas
formation (catagenesis; evolution grossly parallel to
y-axis due to loss of hydrogen-rich petroleum
hydrocarbons), until a carbon-rich residue is the
ultimate product (near origin in xy diagram). For more
details see Tissot and Welte (1984).

4.3.5 Early Diagenesis
at the Molecular Level

A small portion of sedimentary organic matter is soluble
in organic solvents and contains lipid compounds that
are either directly inherited from the biological
precursor organisms or cleaved by hydrolysis from
larger cellular units like cell walls or membranes (cf.
Figs. 4.9 and 4.10). The compounds include individual

substances as well as homologous series of structurally
related compounds. Most of them are functionalized
polar lipids that undergo decarboxylation (organic
acids) and dehydration reactions (alcohols) during early
diagenesis to produce saturated and olefinic hydrocar-
bons, of which the latter are progressively hydroge-
nated into their saturated analogs during later diage-
nesis. Alternatively, aromatic hydrocarbons are formed
by the loss of hydrogen. If these hydrocarbons
essentially have the same carbon skeletons and steric
configurations as their functionalized biogenic precur-
sors, they are called biological markers or molecular
fossils (see Sections 4.3.2 and 4.3.5). Parallel to retention
of the biogenic carbon skeleton, structural rearrange-
ments, catalyzed by clay minerals, partial cleavage of
substituents or ring opening may occur as side
reactions during diagenetic transformation of biogenic
lipids. During the earlier phases of diagenesis, including
processes occurring in the water column, such altera-
tions appear to be mediated by microbial activity. With
increasing burial they are more and more driven by
thermodynamic constraints as temperature increases.

The following discussion of biological marker
reactions of course only applies to that fraction of lipid
compounds that have escaped the highly efficient
degradation in the uppermost sediment layer. It has
been established through quantitative assessment of
transformation reactions that degradation in this zone
may occur over timescales of days and that reaction
rates have often been underestimated by an order of
magnitude (Canuel and Martens 1996). It was
furthermore demonstrated in this study that the
degradation processes can be highly selective and
depend on the origin of the compounds (marine,
bacterial or terrestrial). Fatty acids apparently are
particularly sensitive to degradation whereas sterols
and hydrocarbons have a higher chance of entering
the deeper sediment. As a consequence, quantitative
assessment of the source and fate of organic matter
based on biological markers will be strongly limited as
long as diagenetic effects cannot be separated from
variations in organic matter supply.

4.3.6 Biological Markers
(Molecular Fossils)

Molecules with a high degree of structural complexity
are particularly informative and thus suitable for
studying geochemical reactions because they provide
the possibility of relating a certain product to a specific
precursor. For example, specific biomarkers have been
assigned to some common groups of microalgae. These
compounds include long-chain (C37-C39) n-alkenones,
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highly-branched isoprenoid alkenes, long-chain n-
alkandiols, 24-methylenecholesterol and dinosterol.
They have been found to be unique for, or obviously
be preferentially biosynthesized by, haptophytes,
diatoms, eustigmatophytes, diatoms and dinoflagel-
lates, respectively (see Volkman et al. 1998; Volkman
2005 for comprehensive overviews). Other long-chain
n-alkyl lipids (e.g. Eglinton and Hamilton 1967),
diterpenoids and 3-oxygenated triterpenoids (e.g.
Simoneit 1986) are considered useful tracers for organic
matter from vascular land plants.

Although certain biological markers may be
chemotaxonomically very specific, care has to be taken
when using relative biomarker concentrations in
geological samples to derive quantitative figures of
the biological species that have contributed to the total
organic matter. First of all, different types of biological
markers may have different reactivities and, thus, may
be selectively preserved during diagenesis (Hedges
and Prahl 1993). In this respect, sequestering of reactive

biomarkers by the formation of high-molecular-weight
organic sulfur compounds may play an important role
(e.g. Sinninghe Damsté et al 1989b; see Fig. 4.10).
Furthermore, there may be a fractionation between
high- and low-molecular-weight compounds. An
extreme example is the (lacustrine) Messel oil shale. In
its organic matter fraction, the residues of dinoflagel-
lates are represented by abundant 4-methyl steroids in
the bitumen whereas the labile cell walls were not
preserved. On the other hand, certain green algae are
clearly identifiable under the electron microscope due
to the highly aliphatic biopolymers in their cell walls,
but no biomarkers specific for green algae were found
in the extractable organic matter (Goth et al. 1988).

The scheme in Figure 4.12 is an example of extensive
and variable biomarker reactions after sedimentation.
It illustrates the fate of sterols particularly during
diagenesis. Although the scheme looks complex, it
shows only a few selected structures out of more than
300 biogenic steroids and geochemical conversion

4.3 Early Diagenesis

Fig. 4.12  Diagenetic and catagenetic transformation of steroids. The precursor sterols are gradually transformed
during diagenesis into saturated hydrocarbons by dehydration (elimination of water) and hydrogenation of the double
bonds. At higher temperatures, during catagenesis, the thermodynamically most stable stereoisomers are formed.
Alternatively, dehydration leads to aromatic steroid hydrocarbons which are stable enough to occur in crude oils
(after Rullkötter 2001). See text for detailed description of the reaction sequences.
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products presently known to occur in sediments. The
biogenic precursor chosen as an example in Figure 4.12
is cholesterol (structure 1, R=H), a widely distributed
steroid in a variety of plants, but more typical of animals
(e.g. zooplankton). Hydrogenation of the double bond
leads to the formation of the saturated cholestanol (2).
This reaction occurs in the uppermost sediment layers
soon after deposition and is believed to involve
microbial activity. Elimination of water gives rise to the
unsaturated hydrocarbon 3. At the end of the diagenetic
stage, the former unsaturated steroid alcohol 1 will have
been transformed to the saturated steroid hydrocarbon
4 after a further hydrogenation step. An alternative
route to the saturated sterane 4 is via dehydration of
cholesterol (1, R=H), which yields the diunsaturated

compound 5. Hydrogenation leads to a mixture of two
isomeric sterenes (6; isomer with double bond in
position 5 like in the starting material (1) not shown in
Fig. 4.12). This compound cannot be formed from 3 as
suggested for a long time, because such a double bond
migration would require more energy than is available
under the diagenetic conditions in sediments (de Leeuw
et al. 1989). Further hydrogenation of 6 affords the
saturated hydrocarbon 4. A change in steric configu-
ration of this molecule, e.g. to form 7, occurs only during
the catagenesis stage at elevated temperatures. A side
reaction from sterene 6 is a skeletal rearrangement
leading to diasterene 8 where the double bond has
moved to the five-membered ring and two methyl
groups (represented by the bold bonds) are now bound

Fig. 4.13  Schematic representation of five different (mostly oxidative) diagenetic reactions of triterpenoids from higher
plants. R in the starting material should be an oxygen function, at least in the second pathway (after Rullkötter et al. 1994).
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to the bottom part of the ring system. This reaction has
been shown in the laboratory to be catalyzed by acidic
clays. Thus, diasterenes (8) and the corresponding
diasteranes (9), formed from diasterenes by hydro-
genation during late diagenesis, are found in shales
but not in those carbonates that lack acidic clays.

An additional alternative diagenetic transformation
pathway of steroids leads to aromatic instead of
saturated hydrocarbons. The diolefin 5 is a likely inter-
mediate on the way to the aromatic steroid hydro-
carbons 10-14. Compounds 10 and 11 are those detected
first in the shallow sediment layers. They obviously are
labile and do not survive diagenesis. During late
diagenesis, the aromatic steroid hydrocarbon 12 with the
aromatic ring next to the five-membered ring cooccurs
with compounds 10 and 11 in the sediments, but is also
stable enough to survive elevated temperatures and thus
to be found in crude oils. There is also a corresponding
rearranged monoaromatic steroid hydrocarbon (13).
During catagenesis, monoaromatic steroid hydrocarbons
are progressively transformed into triaromatic hydro-
carbons (14) before the steroid record is completely lost
by total destruction of the carbon skeleton at higher
temperatures.

As a second example, Figure 4.13 shows five different
diagenetic reaction pathways for pentacyclic triterpenoids
of terrestrial origin that were found to be abundant, e.g.,
in Tertiary deep-sea sediments of Baffin Bay (ten Haven
et al. 1992). Diagenetic alteration with full retention of the
carbon skeleton (e.g. in the case of  β-amyrin; R=H) leads
to an olefinic hydrocarbon after elimination of the oxygen
functionality in the A-ring and later to the fully saturated
hydrocarbon. If the substituent group R is a hydroxyl or
carboxylic acid group, oxidation would yield an unstable
ketocarboxylic acid, which instantaneously eliminates CO2
leading to a carbon skeleton with one carbon atom less
than the starting molecule (second pathway; see Rullkötter
et al. 1994). Direct chemical elimination of the hydroxyl
group in ring A causes ring contraction, and eventually
the ring is opened by oxidative cleavage of the double
bond (third pathway). If the carbon atoms of the A-ring
are completely lost during degradation, then subsequent
aromatization may lead into the fourth pathway.
Alternatively, aromatization may start with the intact
carbon skeleton giving rise to a series of partly or fully
aromatized pentacyclic hydrocarbons (fifth pathway).
All these alterations are typical for terrigenous
triterpenoids. They probably start soon after the decay of
the organisms (or parts thereof, e.g. leaves) and continue
during transport into the ocean. The compounds
described and several others have been found in
numerous marine sediments (see Corbet et al. 1980 and
Rullkötter et al. 1994 for overviews).

4.4    Organic Geochemical Proxies

4.4.1 Total Organic Carbon and Sulfur

Organic carbon profiles in a sedimentary sequence,
particularly if they are obtained with high stratigraphic
resolution (e.g. Stein and Rack 1995), provide direct
evidence for changes in depositional patterns. An in-
depth interpretation, however, usually requires
additional information on the quality of the organic
matter, i.e. on its origin (marine versus terrigenous) and/
or its degree of oxidation during deposition. The
relationship between organic carbon and sedimentation
rate may help to distinguish different depositional
environments or to determine paleoproductivity as
already discussed in Section 4.2.

Furthermore, the relationship between organic
carbon and sulfur is also characteristic of the
paleoenvironment. Leventhal (1983) and Berner and
Raiswell (1983) observed an increase in pyrite sulfur
content in marine sediments with increasing amount of
total organic carbon (Fig. 4.14). The rationale behind
this is that the amount of metabolizable organic matter
available to support sulfate-reducing bacteria increases

4.4  Organic Geochemical Proxies

Fig. 4.14 Plot of weight percent organic carbon vs. weight
percent pyrite sulfur for normal-marine modern sediments.
Each plotted point represents the average value of samples
in a given core, taken at a sediment depth where contents
of organic carbon and pyrite have attained quasi-steady-
state values, i.e. where early diagenesis of carbon and sulfur
is (essentially) complete. The dashed lines enclose data
from a variety of other studies (after Berner and Raiswell
1983). Sediments deposited under anoxic (euxinic) condi-
tions would plot above the trend line, freshwater sediments
significantly below.
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with the total amount of organic matter arriving at the
sediment-water interface. As a consequence, the sedi-
mentary pyrite sulfide content is positively correlated
with the non-metabolized (resistant or unused) organic
matter content (TOC). The trendline in Figure 4.14 is
considered representative of normal marine (oxic)
environments. Data from the Black Sea plot above the
trendline (higher S/C ratios) because consumption of
organic matter by sulfate-reducing bacteria leads to
excess hydrogen sulfide, available for pyrite formation,
in the water column. In contrast to this, freshwater
sediments have very low S/C (or high C/S) ratios
because of the low sulfate concentrations in most
freshwater bodies. Although the trendline is based on
pyrite sulfur, it is not important whether the reduced
sulfur is present as metal sulfide (mostly pyrite) or
bound to the organic matter. This is a question of iron
limitation rather than sulfate reduction.

As outlined in Section 4.3.1 (and discussed more
extensively in Chap. 8) there is a close connection
between organic matter remineralization during early
diagenesis and microbial sulfate reduction. If all of the
sulfate reduction products were precipitated as pyrite
or bound into (immobile) organic matter, measuring
the amount of sulfur in these species would provide
an easy way for determining the amount of organic
matter that has been remineralized and was not
preserved in the sediment. However, the main product
of sulfate reduction, hydrogen sulfide, is volatile and
can escape from the sediment, particularly when
bioturbation of the surface sediment supports this
transport.

Release of hydrogen sulfide from the sediment
plays a less important role under strictly anoxic
conditions where fine lamination indicates that the
environment is hostile to burrowing organisms and
bioturbation does not occur. It has been shown that in
these cases the initial amount of organic matter
deposited can be estimated by measuring concen-
trations of reduced sulfur in such sediments. Consi-
dering the amount of organic matter consumed by
sulfate reduction, Lallier-Vergès (1993) defined a sulfate
reduction index (SRI) as

SRI = % initial organic carbon /
                 % preserved organic carbon        (4.9)

The amount of initial organic carbon then is the
sum of the preserved organic carbon (measured as
TOC) and the metabolized organic carbon (determined
from the sulfur content with stoichiometric correction
for the sulfate reduction process). Furthermore, the
diffusive loss has to be taken into account. With a

correction factor of 0.75 and a term 1/(1-qH2S) for the
diffusive loss, Vetö et al. (1994) calculated the initial (or
original) organic carbon content of a sediment before
sulfate reduction as

        TOCorig = TOC + 0.75S · 1/(1-qH2S)         (4.10)

where TOC and S are the measured values of total
organic carbon and total sulfur. The authors estimate
that the diffusive H2S loss in non-bioturbated
sediments usually is less than 45 % and that this value
can only be reached in cases of very high organic
matter supply, high reactivity of this organic matter
and iron limitation. Littke et al. (1991b) and Lückge et
al. (1996) calculated that sulfate reduction consumed
between 20 and 50 % of the initially sedimented organic
matter (or 1-3 % of primary productivity) both from
ancient rocks (Posidonia Shale) and recent sediments
(Oman Margin and Peru upwelling systems). In a study
of the Pakistan continental margin in the northern
Arabian Sea (Littke et al. 1997b), they clearly demon-
strated that the carbon-sulfur relationship only holds
in the laminated sections of the sediment profile
whereas it fails (strongly underestimates sulfate reduc-
tion) in the intercalated homogeneous, i.e. bioturbated,
sediments for the reason explained before.

4.4.2 Marine Versus Terrigenous
Organic Matter

As pointed out in Section 4.2.5, even deep-sea
sediments deposited in areas remote from continents
may contain a mixture of marine and terrigenous organic
matter. For any investigation of autochthonous marine
organic matter preservation or marine paleoproductivity,
these two sources of organic matter have to be
distinguished. Furthermore, global or regional climate
fluctuations have changed the pattern of continental
run-off and ocean currents in the geological past (see
Sect. 4.4.3). Being able to recognize variations in marine
and terrigenous organic matter proportions may, thus,
be of great significance in paleoclimatic and paleoceano-
graphic studies.

A variety of parameters are used to assess organic
matter sources. Bulk parameters have the advantage
that they are representative of total organic matter,
whereas molecular parameters address only part of the
extractable organic matter, which in turn is only a small
portion of total organic matter. Some successful appli-
cations of molecular parameters show that the small
bitumen fraction may be representative of the total,
but there are many other examples where this is not the
case. On the other hand, oxidation of marine organic
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matter has the same effect on some bulk parameters as
an admixture of terrigenous organic matter, because
the latter is commonly enriched in oxygen through
biosynthesis. It is, therefore, advisable to rely on more
than one parameter, and to obtain complementary
information.

C/N Ratio

Carbon/nitrogen (C/N) ratios of phytoplankton and
zooplankton are around 6, freshly deposited marine
organic matter ranges around 10, whereas terrigenous
organic matter has C/N ratios of 20 and above (e.g.
Meyers 1994, 1997 and references therein). This diffe-
rence can be ascribed to the absence of cellulose in
algae and its abundance in vascular plants and to the
fact that algae are instead rich in proteins. Both weight
and atomic ratios are used by various authors, but due
to the small difference in atomic mass of carbon and
nitrogen, absolute numbers of ratios do not deviate
greatly.

Selective degradation of organic matter components
during early diagenesis has the tendency to modify
(usually increase) C/N values already in the water column.
Still, these ratios are sometimes sufficiently well preser-
ved in shallow-marine sediments to allow a rough
assessment of terrigenous organic matter contribution
(e.g. Jasper and Gagosian 1990; Prahl et al. 1994). A
different trend exists in deep oceanic sediments with
low organic carbon contents. Inorganic nitrogen
(ammonia) is released during organic matter decomposi-
tion and adsorbed to the mineral matrix (particularly clays)
where it adds significantly to the total nitrogen. The C/
N ratio is then changed to values below those of normal
marine/terrigenous organic matter proportions (Müller
1977; Meyers 1994). This effect should be small in
sediments containing more than 0.3 % organic carbon.
On the other hand, many sapropels from the eastern
Mediterranean Sea and organic-matter-rich sediments
underlying upwelling areas have conspicuously high
C/N ratios (>15), i.e. well in the range of land plants
despite a dominance of marine organic matter, for reasons
yet to be determined (see Bouloubassi et al. 1999 for an
overview). Because such “atypical” C/N ratios were
determined in quite a number of sediments more recently
it is advised not to place too much emphasis on the
significance of this bulk parameter.

Hydrogen and Oxygen Indices

Hydrogen Index (HI) values from Rock-Eval pyrolysis
(see Sect. 4.5.2) below about 150 mg HC/g TOC are
typical of terrigenous organic matter, whereas HI values

of 300 to 800 mg HC/g TOC are typical of marine organic
matter. Deep-sea sediments rich in organic matter
usually show values of only 200-400 mg HC/g TOC,
even if marine organic matter strongly dominates.
Oxidation has lowered the hydrogen content of the
organic matter in this case. It should also be mentioned
that Rock-Eval pyrolysis was developed as a screening
method for rapidly determining the hydrocarbon
generation potential of petroleum source rocks
(Espitalié et al. 1985) and that a range of complications
may occur with sediments buried only to shallow depth.
For example, unstable carbonates may decompose
below the shut-off temperature of 390 °C (cf. Sect. 4.5.2)
which increases the Oxygen Index and falsely indicates
a high oxygen content of the organic matter.
Furthermore, Rock-Eval pyrolysis cannot be used for
sediments with TOC < 0.3 % because of the so-called
mineral matrix effect. If sediments with low organic
carbon contents are pyrolyzed, a significant amount of
the products may be adsorbed to the sediment minerals
and are not recorded by the flame ionization detector,
thus lowering the Hydrogen Index (Espitalié et al. 1977).

Maceral Composition

If the morphological structure of organic matter is well
preserved in sediments, organic petrographic
investigation under the microscope is probably the
most informative method to distinguish marine and
terrestrial organic matter contributions to marine
sediments by the relative amounts of macerals
(organoclasts) derived from marine biomass and land
plants (see Sect. 4.5.3). Many marine sediments,
however, contain an abundance of non-structured
organic matter (e.g. in upwelling areas; Lückge et al.
1996) which cannot easily be assigned to one source
or the other. Furthermore, comprehensive microscopic
studies are time-consuming. In his paleoproductivity
assessments (see Sect. 4.2), Stein (1986a) calibrated
Hydrogen Indices from Rock-Eval pyrolysis of marine
sediments with microscopic data and suggested to use
the more readily available pyrolysis data as a proxy for
marine/terrigenous organic matter proportions.

Stable Carbon and Hydrogen Isotope Ratios

Carbon isotope ratios are principally useful to
distinguish between marine and terrestrial organic
matter sources in sediments and to identify organic
matter from different types of land plants. The stable
carbon isotopic composition of organic matter reflects
the isotopic composition of the carbon source as well
as the discrimination (fractionation) between 12C and

4.4 Organic Geochemical Proxies
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13C during photosynthesis (e.g. Hayes 1993). Most
plants, including phytoplankton and almost all trees
and most shrubs, incorporate carbon into their biomass
using the Calvin (C3) pathway which discriminates
against 13C to produce a shift in δ13C values of about
-20 ‰ from the isotope ratio of the inorganic carbon
source. Some plants use the Hatch-Slack (C4) pathway
(many subtropical savannah grasses and sedges) which
leads to an isotope shift of about -7 ‰. Other plants,
mostly succulents, utilize the CAM (crassulacean acid
metabolism) pathway, which more or less switches
between the C3 and C4 pathways and causes the δ13C
values to depend on the growth dynamics.

Organic matter produced from atmospheric carbon
dioxide (δ13C ≈ -7 ‰) by land plants using the C3
pathway has an average δ13C value of approximately
-27 ‰ and by those using the C4 pathway approxi-
mately -14 ‰. Marine algae use dissolved bicarbonate,
which has a δ13C value of approximately 0 ‰. As a
consequence, marine organic matter typically has δ13C
values varying between -20 ‰ and -22 ‰. Isotopic
fractionation, among others, is also temperature
dependent which, e.g., in cold polar waters may lead to
carbon isotope values for marine organic matter of
-26‰ or lower (e.g. Rau et al. 1991). The fact that a
number of environmental and biological variables

influence the stable carbon isotope composition of
plants may cause variations from the generalized
numbers given above (see Killops and Killops 2005 for
an overview). The ‘typical’ difference of about 7 ‰
between organic matter of marine primary producers
and land plants has nevertheless been successfully
used to trace the sources and distributions of organic
matter in coastal oceanic sediments (e.g. Westerhausen
et al. 1993; Prahl et al. 1994; Rommerskirchen et al. 2003
and references therein). Figure 4.15 shows data for a
continental margin setting with the Congo Fan as an
example. The carbon isotope ratios are measured values
compiled from various sources and show the pathway
from the different biological systems to the mixed data
in the sediments in a transect from the shallow
continental margin to the deep ocean.

The availability of dissolved CO2 in ocean water
has an influence on the carbon isotopic composition
of algal organic matter because isotopic discrimination
toward 12C increases when the partial pressure of
carbon dioxide (pCO2) is high and decreases when it is
low (see Fogel and Cifuentes 1993 for an overview).
Organic-matter δ13C values, therefore, become indica-
tors not only of origins of organic matter but also of
changing paleoenvironmental conditions on both
short- and long-term scales. For example, the δ13C values

Fig. 4.15  Carbon stable isotope data in different compartments of a continental margin settings with the Congo Fan as
an example. Data for δ13C values of biota and sediments are from measurements in the Congo Fan and the Congo River
catchment area (Mariotti et al. 1991, Müller et al. 1994, Muzuka 1999, Schwartz et al. 1986, Westerhausen et al. 1993).
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of dissolved inorganic carbon (DIC; CO2, bicarbonate,
carbonate) available for photosynthesis in the cells
varies over the year with the balance between
photosynthetic uptake and respiratory production.
During summer and spring, when rates of
photosynthesis are high, the isotope ratio of remaining
DIC is enriched in 13C. In fall, when respiration is the
dominant process, the δ13C of DIC becomes more
negative because organic matter is remineralized.

Fluctuations that have been measured in the δ13C
values of sedimentary organic matter over the Earth’s
history (e.g. Schidlowski 1988) can thus be interpreted
in terms of the productivity in the water column and
the availability of DIC in a particular geological time
period. In a study of sediments from the central
equatorial Pacific Ocean spanning the last 255,000 years
it has been demonstrated that the carbon isotopic
composition of fossil organic matter depends on the
exchange between atmospheric and oceanic CO2.
Changes with time can then be used to estimate past
atmospheric carbon dioxide concentrations (Jasper et
al. 1994).

Other than stable carbon isotopes the stable
hydrogen isotopes do not reflect the fixation processes
in photosynthesis, but rather the hydrological cycle
under which the respective plants have grown (Ses-
sions et al. 1999; Sauer et al. 2001). This means that
lake biota will differ in hydrogen isotope composition
from marine organisms, and land plants thriving under
humid or arid conditions will show a large spread in
hydrogen isotope ratios. This is schematically
illustrated in the δ13C vs. δ2H diagram in Figure 4.16
where C4 and CAM plants are clearly separated from
each other, which is often not the case when only carbon
isotope ratios are determined. Due to the large atomic
weight difference between hydrogen and deuterium
(2H), δ2H values extend over a much larger range than
δ13C values, and the former may require specific
mathematical algorithms to calculate hydrogen isotopic
fractionations in biogeochemical systems (Sessions and
Hayes 2005).

Carbon fixation during photosynthesis is not the
only process causing isotope fractionation. Further
fractionation occurs during the subsequent biosyn-
thetic reactions leading to a deviation of the carbon
isotopic signature of important groups of natural
products from the bulk isotopic value of the organism.
Lipids have the lightest δ13C values, whereas proteins
and carbohydrates are significantly heavier (more
enriched in 13C). Even within the lipids, e.g., compound
groups may differ in their carbon isotope ratios as a
consequence of their individual biosynthetic pathways.
Still, the general difference in carbon isotope signatures

between plants of different origins is largely maintained.
In a diagram like that in Figure 4.16, δ13C values of
individual lipids would just be collectively shifted to
lighter values on the x-axis compared to the total carbon
values of their source organisms.

Compound-specific isotope analysis allows stable
carbon (and hydrogen) isotope analysis of individual
biomarkers for the assessment of organic matter
sources and paleoenvironmental reconstruction (e.g.
Hayes et al. 1987, 1990). Since the implementation of
the new analytical technique in the last 15 years,
numerous applications have been published. Examples
are the analysis of plant wax lipids in Atlantic Ocean
deep sea sediments to reconstruct organic matter flux
from the African continent and the effect of climatic
change on the vegetation in Africa (e.g., Huang et al.
2000; Rommerskirchen et al. 2003; Schefuß et al. 2004).
Molecular carbon isotope analysis has recently become
particularly important in the investigation of the
methane cycle. Biogenic methane produced by archaea
is isotopically particularly light (δ13C = -60 to -100 ‰).
Methanotrophic organisms using this biogenic methane
as their carbon source biosynthesize, among others,
membrane lipids which may isotopically be as light as
-120 ‰. The combination of molecular and isotope
analysis has, thus, helped a great deal in unraveling
the complex processes particularly involved in anaero-

4.4 Organic Geochemical Proxies

Fig. 4.16  Schematic representation of carbon and
hydrogen stable isotope ratios of plants with different
biosynthetic pathways. See text for more details. Arrows
indicate that hydrogen isotope ratios may cover an even
larger range than indicated by the encircled areas.
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bic methane oxidation (e.g. Orphan et al. 2001, 2002;
Elvert et al. 2003; Wakeham et al. 2003).

Marine sediments may not only be a mixture from
autochthonous and allochthonous sources, the diffe-
rent biogenic components may also be of different age.
Whereas mixing by redeposition of continental slope
sediments by slumping or turbidite flow are well known
and often recognizable on a bulk level, there may also
be more intimate mixing of components of diverse age
when, e.g., terrestrial organic matter is transported to
the ocean through rivers taking a significant amount
of time. Radiocarbon analysis of individual biomarkers
has revealed that their 14C ages can differ significantly
within a given sediment sample, but some of these
differences are not easy to explain (e.g. Eglinton et al.
1997; Pearson et al. 2001). Mollenhauer et al. (2003)
compared the 14C ages of carbonate frustrules of
planktonic foraminifera with those of long-chain
alkenones (cf. Sect. 4.4.3), both widely used for
reconstructing the chronostratigraphy of near-surface
marine sediments, in hemipelagic muds from the Namibia
continental margin in the South Atlantic Ocean. They
found the alkenones to be systematically and up to
2000 years older than the foraminifera. Among several
possible alternative explanations for this discrepancy
they favored long-range transport of the alkenones,
possibly from the Argentine basin across the Atlantic
Ocean, before they were ultimately deposited together
with the autochthonous, younger foraminifera.

4.4.3 Molecular Paleo-Seawater
Temperature and Climate Indicators

Past Sea-Surface Temperatures (SST) Based on
Long-Chain Alkenones

Paleoceanographic studies have taken advantage of
the fact that biosynthesis of a major family of organic
compounds by certain microalgae depends on the water
temperature during growth. The microalgae belong to

the class of Haptophyceae (often also named Prymne-
siophyceae) and notably comprise the marine coccoli-
thophorids Emiliania huxleyi and Gephyrocapsa
oceanica. The whole family of compounds, which are
found in marine sediments of Recent to Lower
Cretaceous age throughout the world ocean, is a
complex assemblage of aliphatic straight-chain ketones
and esters with 37 to 41 carbon atoms and two to four
double bonds (see Brassell 1993 and Brassell et al. 2004
for more details). Principally only the C37 methylketones
with 2 and 3 double bonds are used for past sea-surface
temperature assessment (Fig. 4.17), although the
relationship of the tetra-unsaturated C37 alkenone,
which is commonly more abundant in lacustrine
systems, to salinity and temperature was recently given
special attention (Sikes and Sicre 2002).

It was found from the analysis of laboratory cultures
and field samples that the extent of unsaturation
(number of double bonds) in these long-chain ketones
varies linearly with growth temperature of the algae
over a wide temperature range (Brassell et al. 1986;
Prahl and Wakeham 1987). To describe this, an unsa-
turation index was suggested, which in its simplified
form is defined by the concentration ratio of the two
C37 ketones:

 U 37
K' = [C37:2]/[C37:2 + C37:3]        (4.11)

Calibration was then made with the growth
temperatures of laboratory cultures of different hapto-
phyte species and with ocean water temperatures at
which plankton samples had been collected. From these
data sets, a number of different calibration curves
evolved for different species and different parts of the
world ocean so that some doubts arose as to the
universal applicability of the unsaturation index. In a
major analytical effort, Müller et al. (1998) resolved the
complications and arrived at a uniform calibration for
the global ocean from 60°N to 60°S. The resulting
relationship,

Fig. 4.17  Structural formulae of long-chain alkenones used for paleo-sea surface temperature assessment.
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U 37
K' = 0.033T + 0.044 (4.12)

is identical within error limits with the widely used
calibrations of Prahl and Wakeham (1987) and Prahl
et al. (1988) based on Emiliania huxleyi cultures
(U 37

K' = 0.033T + 0.043). Müller et al. (1998) also found
that the best correlations were obtained using ocean
water temperatures from 0 to 10 m water depth,
suggesting that the sedimentary U 37

K' ratio reflects
mixed-layer temperatures and that the production of
alkenones within or below the thermocline was not high
enough to significantly bias the mixed-layer
temperature signal. Regional variations in the seaso-
nality of primary production also have only a negligible
effect on the U signal in the sediments. Furthermore,
the strong linear relationships obtained for the South
Atlantic Ocean and the global ocean indicate that U
values of the sediments are neither affected to a
measurable degree by changing species compositions
nor by growth rate of algae and nutrient availability,
other than expected from culture experiments. Signi-
ficant effort was undertaken to intercalibrate the
analysis of the alkenone parameter world-wide (Rosell-

Melé et al. 2001). Continuing research on the alkenone
parameter, however, still reveals additional calibrations
for extreme environments (e.g. Sicre et al. 2002) or the
temperature range over which the alkenone index can
be applied (Pelejero and Calvo 2003).

The alkenone index presently is one of the most
frequently used molecular organic geochemical parameters
in the geosciences. A simple example of an application is
shown in Figure 4.18. The global oxygen isotope
stratigraphy (SPECMAP; after Martinson et al. 1987) is
compared with the sea-surface temperature curve
reconstructed from the sedimentary alkenone ratio (U 37

K' )
for two holes drilled by the Ocean Drilling Program into
deep-sea sediments off the coast of California (Mangels-
dorf et al. 2000). The temperature follows the variations of
the δ18O values reasonably well. They both illustrate the
repetitive change from cold to warm climatic stages and
vice versa. It is also noteworthy that the absolute
temperatures, as expected from the oceanographic setting,
are higher at the location of Hole 1017B (50 km west of
Point Arguello, just north of the Santa Barbara Channel)
than at the Northern Californian location 60 km west of
Crescent City in the Eel River basin (Hole 1019C).

4.4 Organic Geochemical Proxies

Fig. 4.18  Alkenone-based sea-surface temperature (SST) reconstruction of two sediment sections from Ocean Drilling
Program (ODP) Holes 1017B (Southern California, 50 km west of Point Arguello) and 1019C (Northern California, 60
km west of Crescent City in the Eel River Basin) on the California continental margin (after Mangelsdorf et al. 2000)
compared to the global δ18O chronostratigraphy (SPECMAP; after Martinson et al. 1987). MIS = Marine isotope stage.
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TEX86 Paleothermometry

Recently, a new geochemical temperature proxy, the
TEX86 index, was introduced by Schouten et al. (2002).
It is based on the number of cyclopentane moieties in
the glycerol dialkyl tetraethers (GDGTs; Fig. 4.19) of
the membrane lipids of a group of marine archaea called
Crenarchaeota, which changes as a response to
temperature in the growth medium as demonstrated
both by core top samples of marine sediments
(Schouten et al. 2002) and in culture experiments
(Wuchter et al. 2004). It is defined as follows:

TEX86 = (III + IV + VI)/(II + III + IV + VI)         (4.13)

where the Roman numbers represent the relative
contents of four different membrane lipids (Fig. 4.19).
With increasing temperature, the number of cyclopen-
tane rings in the Crenarchaeotal membrane lipids
increases. The TEX86 index showed a significant linear

correlation with growth temperature in the incubation
experiments (Eq. 4.14) and with the annual mean sea-
surface temperature in the surface sediments (Eq. 4.15).

TEX86 = 0.015 · T + 0.10    (r2 = 0.79)                 (4.14)
TEX86 = 0.015 · T + 0.29     (r2 = 0.92).                 (4.15)

Both equations exhibit identical slopes but differ
slightly in the intercept with the y-axis. Two additional
aspects make this new proxy parameter particularly
promising. The temperature range (0-35 °C) for the TEX86
appears to be wider than for the alkenone index (5-28 °C),
and the Crenarchaeota are likely to significantly predate
the first occurrence of the alkenone-producing hap-
tophytes in Earth history.

ACL Index Based on Land Plant Wax Alkanes

In marine sediments, higher-plant organic matter can
be an indicator of climate variations both by the total
amount indicating enhanced continental run-off during
times of low sea level or of humid climate on the
continent and by specific marker compounds indicating
a change in terrestrial vegetation as a consequence of
regional or global climatic variations. Long-chain n-
alkanes are commonly used as the most stable and
significant biological markers of terrigenous organic
matter supply (e.g. Eglinton and Hamilton 1967). The
odd carbon-numbered C27, C29, C31 and C33 n-alkanes
are major components of the epicuticular waxes of
higher plants. These terrestrial biomarkers are often
preferentially enriched in the marine environment,
particularly under oligotrophic surface waters, because
the compounds are protected by the resistant character
of the plant particles and in part by the highly water-
insoluble nature of the waxes themselves (Kolattukudy
1976).

The carbon number distribution patterns of n-
alkanes in leaf waxes of higher land plants depend on
the climate under which they grow. The distributions
show a trend of increasing chain length nearer to the
equator, i.e. at lower latitude (Gagosian et al. 1987), but
they are also influenced by humidity (Hinrichs et al.
1998). In addition, waxes of tree leaves have molecular
distributions different from those of grasses with either
the C27 or the C29 n-alkane having the highest relative
concentration in trees and the C31 n-alkane in grasses
(Cranwell 1973). Poynter (1989) defined an Average
Chain Length (ACL) index to describe the chain length
variations of n-alkanes,

ACL27-33=  (27[C27] + 29[C29] + 31[C31] + 33[C33]) /
               ([C27] + [C29] + [C31] + [C33])                      (4.16)

Fig. 4.19   Crenarchaeotal membrane lipid moieties
used for TEX86 paleothermometry (after Schouten et
al. 2002).
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characterized by drastic changes of temperature and
precipitation. During relatively warm and dry
periods when mainly laminated sediments were
accumulated in the Santa Barbara basin, smaller
proportions of grass-derived biomass may have
contributed to the sedimentary organic matter.

•••••    Changes in continental precipitation significantly
affected the degree of erosion and the transport of
terrigenous detritus to the ocean, enhancing the
proportion of biomass from other source areas
(probably over longer distances from higher
altitudes). This explains best the almost parallel and
abrupt changes of oceanic conditions (e.g. bottom-
water oxygen concentrations affecting sediment
texture) and terrestrial signals recorded in the
sediments (e.g. ACL indices).

in which [Cx] signifies the content of the n-alkane with
x carbon atoms. Poynter (1989) demonstrated the
sensitivity of sedimentary n-alkane ACL values to past
climatic changes. In Santa Barbara basin (offshore
California) sediments from the last 160,000 years,
Hinrichs et al. (1998) found the highest ACL values in
the Eemian climate optimum (about 125,000 yr B.P.).
Over the entire sediment section, the ACL values were
higher in homogeneous sediment layers deposited in
periods of more humid climate than in laminated
sediments deposited under a semi-arid continental
climate like that of today (Fig. 4.20). The sedimentary
ACL variations most probably recorded the climatic
changes on the continent for the following two reasons:
•••••  Vegetation patterns on the continent responded

rapidly to climatic oscillations, which were often

Fig. 4.20    Average chain length (ACL) time-series in relation to sediment texture (homogeneous versus laminated) for a
core in the central Santa Barbara basin offshore California (after Hinrichs et al. 1998). Information on continental
humidity from a sediment core in the Owens Lake basin was taken from Benson et al. (1996).
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4.5     Analytical Techniques

Organic geochemical analyses of marine sedi-
ments may range from the rapid determination of a
few bulk parameters to a high level of sophis-
tication if trace organic constituents are to be
investigated at the molecular level. The analytical
scheme in Figure 4.21 is one of many that are
currently being used in different laboratories. It is
certainly not complete nor is it fully applied to
each sample, particularly not when large series are
studied. For example, the analysis of amino acids
(e.g. Mitterer 1993), sugars (Cowie and Hedges
1984; Moers et al. 1993), lignin (Goñi and Hedges
1992), or humic substances (Brüchert 1998; Senesi
and Miano 1994; Rashid 1985) requires a modifi-
cation of the scheme in Figure 4.21. Other than in
inorganic geochemical analysis, where modern
instrumentation allows the simultaneous determi-
nation of a wide range of element concentrations,

the millions of possible organic compounds
require an a priori selectivity, but even the analy-
sis of selected lipids can be quite time-consuming.
In addition, the amount of sample material
required for molecular organic geochemical
studies is higher than for many other types of
analyses, and this limits stratigraphic (time)
resolution.

4.5.1 Sample Requirements

Most organic geochemical methods require a well
homogenized, pulverized sample aliquot. An exception
is reflected-light microscopy in organic petrography
where the association of organic matter with the
sediment matrix can be quite informative and is,
therefore, preserved. Before homogenization, the
sample needs drying either at ambient temperature or
by freeze-drying. Higher temperatures are to be avoided
due to the thermal lability of the organic matter. For the
same reason, sediments – particularly those of young

Fig. 4.21    Example of an analytical scheme of organic geochemical analyses of marine sediments comprising bulk and
molecular parameters.
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age in which bacteria may still be active – should be
stored deep-frozen (-18°C or lower) between sampling
and analysis. Grinding can be done by mortar and pestle
or in an electrical ball or disc mill, but excessive grinding
should be avoided due to the associated rise in
temperature in the sample.

4.5.2 Elemental and Bulk Isotope Analysis

The basic parameter determined in most organic
geochemical studies is the total organic carbon (TOC,
Corg) content. Most marine sediments and sedimentary
rocks contain carbon both as carbonates (Cinorg, Ccarb,
Cmin) and as organic matter. There are numerous
methods for quantifying carbon, most of them are based
on heating solid samples in an oxygen atmosphere and
detection of the evolving CO2 by coulometric or
spectrometric techniques or by a thermal conductivity
detector. Commonly used instruments are elemental
analyzers, which determine carbon, nitrogen, hydrogen
(only applicable to pure organic matter), and sulfur
(CHN, CNS, CS analyzers). Organic carbon is either
determined directly, after destruction of carbonate with
mineral acids before combustion in the elemental
analyzer, or as the difference between total carbon
(combustion) and mineral carbon (measurement of CO2
released upon acid treatment).

For the determination of bulk stable carbon
isotope ratios (13C/12C) the organic matter is converted
to carbon dioxide by oxidation following digestion of
the sediment with mineral acid to remove carbonates.
Traditionally, oxidation of organic matter was per-
formed off-line, CO2 was separated from other gaseous
oxidation products, and the purified gas introduced
into an isotope ratio mass spectrometer. Modern
instruments provide on-line combustion isotope-ratio
measurement facilities. In this case, an elemental
analyzer is connected to an isotope ratio mass
spectrometer via a special interface that allows
removal of gases other than CO2. This configuration
can also be used to separate sulfur and nitrogen
oxides which, after on-line conversion to a suitable
single species (SO2 and N2, respectively), can be used
to determine stable sulfur (34S/32S) and nitrogen (15N/
14N) isotope ratios. A special technical configuration
of the mass spectrometer is required for hydrogen
isotope (2H/1H) ratio measurement. Isotope ratios are
not determined directly, but relative to an inter-
nationally accepted standard. The results are reported
in the delta notation (δ13C, δ34S, δ15N, δ2H [or
commonly δD for deuterium]) relative to this standard.
For details see, e.g., Fogel and Cifuentes (1993) and
references therein.

4.5.3 Rock-Eval Pyrolysis and
Pyrolysis Gas Chromatography

Rock-Eval pyrolysis (Espitalié et al. 1985) is con-
ducted using bulk sediment samples to determine,
(1) the amount of hydrocarbon-type compounds
already present in the sample (S1 peak [mg hydro-
carbons per g sediment]; compounds released at
low temperature and roughly equivalent to the
amount of organic matter extractable with organic
solvents), (2) the amount of hydrocarbon-type
compounds generated by pyrolytic degradation of
the macromolecular organic matter during heating
up to 550°C (S2 peak [mg hydrocarbons per g
sediment]), (3) the amount of carbon dioxide
released from the organic matter up to 390°C, i.e.
before carbonates decompose (S3 peak [mg CO2
per gram sediment]), and (4) the temperature of
maximum pyrolysis yield (Tmax [°C]). The
Hydrogen Index (HI) and Oxygen Index (OI)
derived from the S2 and S3 values correspond to
the pyrolysis yield normalized to the content of
organic carbon (mg hydrocarbons and mg CO2 per
g TOC, respectively). The results of Rock-Eval
pyrolysis are usually displayed in a van-Krevelen-
type diagram of HI versus OI values which
roughly corresponds to an H/C versus O/C atomic
ratio van Krevelen diagram (see Fig. 4.11; Tissot
and Welte 1984).

One of the methods of studying the composition
of macromolecular sedimentary organic matter in more
detail is the molecular analysis of pyrolysis products.
For this purpose, the pyrolysis products are transferred
to a gas chromatographic column and analyzed as
described for extractable organic matter in Sect. 4.5.5,
with or without the combination with a mass
spectrometer. Both flash pyrolysis (Curie-point
pyrolysis; samples are heated on a magnetic wire by
electrical induction almost instantaneously, e.g., to
610°C) or off-line pyrolysis at various heating rates
have been applied to geological samples (see Larter
and Horsfield 1993 for an overview of various pyrolysis
techniques).

4.5.4 Organic Petrography

Organic petrography is the study of the
macroscopically and, more importantly, micro-
scopically recognizable organic matter compo-
nents initially of coal, but meanwhile more gene-
rally in sediments and sedimentary rocks. Organic-
matter-rich rocks and coal are usually studied as

4.5 Analytical Techniques
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polished blocks in reflected light under a petro-
graphic microscope. When sediments are lean in
organic matter, the organic particles have to be
concentrated by dissolution of the mineral matrix
in consecutive treatments with hydrochloric and
hydrofluoric acid. The concentrates are then
analyzed as smear slides in transmitted light or
embedded in araldite® resin and subsequently
studied as polished blocks similar to whole-rock
samples.

Organic particles visible under the microscope (>1
µm) are called macerals. The most important groups in
the order of increasing reflectance are liptinite, vitrinite
and inertinite. Liptinites are lipid-rich parts of aquatic
(e.g. alginite) or land plants (e.g. cutinite, suberinite,
sporinite, resinite), the terms indicating the origin of
these organoclasts. Many liptinites are probably related
to nonhydrolyzable, highly aliphatic biopolymers
found in algae (algaenan) and land plants (cutinan,
suberan) (see Sect. 4.3.3). These biopolymers serve as
cell wall components of the organisms and their stability
allows the morphological shapes of plant material to
be preserved after sedimentation and burial so that
they can be identified under the microscope. Vitrinites
derive from the woody parts of higher plants. Inertinites
are highly reflecting particles of strongly oxidized or
geothermally heated organic matter of various origin,
most commonly from higher plants. Non-structured,
often (incorrectly) called amorphous, organic matter is
known as bituminite or sapropelinite. Lipid-rich organic
matter, even if finely dispersed, can be recognized under
the microscope after UV irradiation by its bright
fluorescence.

In addition to maceral distribution, organic petro-
graphers determine vitrinite reflectance as a measure
of geothermal evolution of sedimentary organic matter.
For more details of microscopic analysis see Taylor et
al. (1998).

4.5.5 Bitumen Analysis

The larger part of sedimentary organic matter is
insoluble in organic solvents. The proportion of
the soluble fraction (bitumen) can be relatively
high in surficial sediments, then decreases in
amount with increasing depth of burial due to
formation of humic substances and kerogen. It
only increases again when temperatures become
high enough for thermal kerogen cracking to gene-
rate petroleum (Tissot and Welte 1984).

The most common solvent used for extraction of
bitumen from dried sediments is dichloromethane
(CH2Cl2) with a small admixture (e.g. 1%) of methanol,

although more polar mixtures like chloroform/methanol
or chloroform/toluene are also used. Occasionally, when
very polar lipids from surficial sediments are to be
extracted, wet sediment samples are preferred, and
extraction starts with acetone or methanol or a mixture
of these two because they mix with water. Extraction is
then repeated with dichloromethane or a solvent of
similar polarity. Extraction in a Soxhlet apparatus usually
takes one to two days, whereas reasonably complete
extracts can be obtained within minutes with the support
of ultrasonication or blending. After filtration, the
solvent is removed by rotary evaporation and the total
extract yield determined gravimetrically, as is commonly
done for any subfraction after further separation.
Internal standards for quantitation of single com-
pounds are added either before or after extraction,
occasionally only after liquid chromatographic
separation (see later).

The most polar and highest-molecular-weight
extract components (called asphaltenes, a term derived
from petroleum geochemistry, but often also applied to
surficial sediments or even biological material) may
interfere with many subsequent separations and
analyses. For this reason, these components are
frequently removed from the total extract by dissolving
it in a small amount of, e.g., dichloromethane and adding
a large excess of a nonpolar solvent like n-hexane (or
n-pentane, n-heptane). The n-hexane-soluble extract
fraction can be further separated into compound
classes (or fractions of similar polarities) either by
column liquid chromatography, medium-pressure liquid
chromatography (MPLC: Radke et al. 1980; HMPLC:
Willsch et al. 1997), high-performance liquid chromato-
graphy (HPLC), or thin-layer chromatography (TLC),
depending on the sample quantity used and the
sophistication of the separation required. In MPLC
separation, as indicated in Figure 4.21, the polar lipids
are withheld by a pre-column filled with deactivated
silica gel, and only the hydrocarbons are separated on
the main silica gel column into nonaromatic and
aromatic hydrocarbon fractions. Because the main
separation system is only operated with n-hexane, the
difficult separation between the two hydrocarbon
fractions is very reproducible, an important prerequisite
for some applications, particularly in petroleum
geochemistry. The polar lipids can be removed from
the pre-column with a polar solvent. If emphasis is
placed on the subfractionation of the polar hetero-
compounds, then HMPLC may be the method of choice.
There are, however, many variations of this separation
scheme. The nature of the geological samples and the
scientific objectives will determine the type and extent
of separation required.
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Total extracts and/or liquid chromatographic
subfractions are then analyzed by capillary column gas
chromatography using a flame ionization detector.
Except for hydrocarbon fractions, derivatization is
commonly applied to render polar lipids more volatile
in order to reduce gas chromatographic retention times
and to improve peak shape at the detector. Carboxylic
acids are usually transformed into their methyl esters,
and hydroxyl or amine groups into their trimethylsilyl
ether derivatives. Alternatively, both acid and hydroxyl
groups can be silylated. Acetate formation is another
common derivatization method. A variety of derivati-
zation reagents are commercially available for this
purpose.

Only a few major compound series can be
recognized at the level of their molecular structures
based on relative retention times and distribution
patterns by gas chromatography alone. This applies
to n-alkanes in the nonaromatic hydrocarbon fraction,
n-fatty acids in the carboxylic acid fraction and in some
cases n-alkanols in the neutral polar fraction. High
abundance of a few single compounds (pristane,
phytane, long-chain alkenones) sometimes also allow
their direct identification from gas chromatograms.

The most powerful technique for assigning
molecular structures to constituents of complex
mixtures as they are found in the lipid extracts of
geological samples is the combination of capillary
column gas chromatography and mass spectrometry
(GC-MS). Although the expression “identification” is
frequently used, GC-MS alone is insufficient to fully
characterize a new compound whose gas chromato-
graphic and mass spectrometric behavior has not been
described before. Normally, GC-MS analysis relies on
a comparison with GC and MS data published in the
(geochemical) literature or with data of standards,
commercially available or synthesized in the laboratory,
or on the interpretation of mass spectral fragmentation
patterns following common empirical rules (e.g.
McLafferty and Turecek 1993). Unfortunately, there is
no comprehensive compilation of mass spectra of
geochemically relevant organic compounds, although
a significant number of spectra was recently published
by de Leeuw (2004). Peters et al. (2005) have provided
a detailed coverage of hydrocarbons and selected polar
compounds of significance in petroleum geochemistry
and other fields of organic geochemistry.

The youngest, revolutionary development in
analytical organic geochemistry is the on-line coupling
of a gas chromatograph to an isotope ratio mass
spectrometer via a combustion interface (GC-irm-MS;
Hayes et al. 1990; Freeman et al. 1994). This instrument
allows the determination of stable carbon and hydrogen

isotope ratios of single organic compounds in complex
mixtures provided they are gas chromatographically
reasonably well separated. Chemotaxonomic relations
to specific precursor organisms are then possible if
these are distinct from other organisms in their carbon
isotope fractionation behavior during photosynthesis
and biosynthesis. Sample preparation and analysis are
similar to those for GC-MS analysis with the provision
that the isotopic composition of derivatizing agents is
accounted for in data interpretation.

4.6 The Future of Marine
Geochemistry of Organic
Matter

The evolution of organic geochemistry has always been
closely connected to the developments in instrumental
techniques for the analysis of organic compounds in
geological samples. Now that the instrumentation has
reached a high level of sophistication and particularly
sensitivity, one of the future targets will certainly be
higher stratigraphic (time) resolution which is particu-
larly important for climate research. Advancement in
the fundamental understanding particularly of the early
part of the geological organic carbon cycle will depend
on the cooperation between organic geochemists and
microbiologists. They will have to refine the knowledge
of the biological effects on the early diagenesis of
organic matter arriving at the sediment-water interface
and becoming buried in the uppermost sediment. It will
be necessary to broaden the natural product inventory
of microorganisms, both of sedimentary bacteria and
archaea and of unicellular algae, protozoans and other
organisms at the lower end of the food chain in order
to arrive at solid chemotaxonomic relationships
between source organisms and molecular fossils.

Carefully designed laboratory simulation experi-
ments together with high-resolution field studies will
refine the mass balance approaches of organic matter
exchange between sediment and water column related
to early diagenetic processes. Finally, mathematical
modeling of transport and reaction processes will
become an increasingly important tool in marine geo-
chemistry of organic matter.
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4.7 Problems

Problem 1

What are the factors influencing organic matter
preservation in marine sediments?

Problem 2

What are the main electron acceptors in the metabo-
lization of organic matter during early diagenesis?

Problem 3

What is meant with selective preservation of organic
matter?

Problem 4

What is the biological marker concept?

Problem 5

Can you name a few applications of (molecular) organic
geochemistry?
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5 Bacteria and Marine Biogeochemistry
BO BARKER JØRGENSEN

Geochemical cycles on Earth follow the basic laws
of thermodynamics and proceed towards a state of
maximal entropy and the most stable mineral
phases. Redox reactions between oxidants such as
atmospheric oxygen or manganese oxide and
reductants such as ammonium or sulfide may
proceed by chemical reaction, but they are most
often accelerated by many orders of magnitude
through enzymatic catalysis in living organisms.
Throughout Earth’s history, prokaryotic physio-
logy has evolved towards a versatile use of che-
mical energy available from this multitude of
potential reactions. Biology, thereby, to a large
extent regulates the rate at which the elements are
cycled in the environment and affects where and
in which chemical form the elements accumulate.
By coupling very specifically certain reactions
through their energy metabolism, the organisms
also direct the pathways of transformation and the
ways in which the element cycles are coupled.
Microorganisms possess an enormous diversity
of catalytic capabilities which is still only
incompletely explored and which appears to
continuously expand as new organisms are
discovered. A basic understanding of the
microbial world and of bacterial energy meta-
bolism is therefore a prerequisite for a proper
interpretation of marine geochemistry - a
motivation for this chapter on biogeochemistry.

The role of microorganisms in modern biogeo-
chemical cycles is the result of a long evolu-
tionary history. The earliest fossil evidence of
prokaryotic organisms dates back three and a half
billion years (Schopf and Klein 1992; Brasier et al.
2002). Only some 1.5 billion years later did the
evolution of oxygenic photosynthesis lead to a
build-up of oxygen on the surface of our planet
and it may have taken another 1.5 billion years
before the oxygen level in the atmosphere and
ocean rose to the present-day level, thus trig-
gering the rapid evolutionary radiation of

metazoans at the end of the Proterozoic era.
Through the two billion years that Earth was
inhabited exclusively by microorganisms, the main
element cycles and biogeochemical processes
known today evolved. The microscopic prokary-
otes developed the complex enzymatic machinery
required for these processes and are even today
much more versatile with respect to basic types of
metabolism than plants and animals which
developed over the last 600 million years. In spite
of their uniformly small size and mostly incon-
spicuous morphology, the prokaryotes are thus
physiologically much more diverse than the
metazoans. In the great phylogenetic tree of all
living organisms, humans are more closely related
to slime molds than the sulfate reducing bacteria
are to the methanogenic archaea. The latter two
belong to separate domains of prokaryotic
organisms, the Bacteria and the Archaea, respec-
tively (the term ‘prokaryote’ is used rather than
‘bacteria’ when also the archaea are included).
Animals and plants, including all the eukaryotic
microorganisms, belong to the third domain,
Eukarya.

5.1 Role of Microorganisms

5.1.1 From Geochemistry to
Microbiology – and back

Due to the close coupling between geochemistry
and microbiology, progress in one of the fields has
often led to progress in the other. Thus, analyses
of chemical gradients in the pore water of marine
sediments indicate where certain chemical species
are formed and where they react with each other.
The question is then, is the reaction biologically
catalyzed and which microorganisms may be
involved?
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An example is the distribution of dissolved
ferrous iron and nitrate, which in deep sea
sediments often show a diffusional interface
between the two species (Fig. 5.1A). Based on such
gradients, Froelich et al. (1979), Klinkhammer (1980)
and others suggested that Fe2+ may be readily
oxidized by nitrate, presumably catalyzed by
bacteria. Marine microbiologists, thus,  had the
background information to start searching for
nitrate reducing bacteria which use ferrous iron as
a reductant and energy source. It took, however,
nearly two decades before such bacteria were
isolated for the first time and could be studied in
pure culture (Straub et al. 1996; Benz et al. 1998;
Fig. 5.1B). The bacteria appear to occur widespread
in aquatic sediments but their quantitative
importance is still not clear (Straub and Buchholz-
Cleven 1998). The bacteria oxidize ferrous iron (here
ferrous carbonate) according to the following
stoichiometry:

10FeCO3 + 2NO3
- + 24H2O →

10Fe(OH)3 + N2 + 10HCO3
- + 8H+ (5.1)

The observation of a deep diffusional
interface between sulfate and methane in marine
sediments also led to a long-lasting search by
microbiologists for methane oxidizing sulfate
reducers. The geochemical data and experiments
demonstrated clearly that methane is oxidized to
CO2 below the sediment surface, at a depth
where no potential oxidant other than sulfate
seems to remain (Reeburgh 1969; Iversen and
Jørgensen 1985; Alperin and Reeburgh 1985;
Chaps. 3, 8 and 14).  Only recently were the mi-
croorganisms discovered that can carry out the
complete oxidation of methane with sulfate.
These consist of unique syntrophic aggregates
of archaea and sulfate reducing bacteria
(Boetius et al. 2000; Orphan et al. 2001). The ar-
chaea apparently oxidize the methane through a
partial reversal of the metabolic pathway of
methane formation. Thermodynamic calculations
show that the reversed direction of methane
formation from H2 and CO2 (Eq. 5.2) is exergonic
if the H2 partial pressure is kept extremely low
(Hoehler et al. 1994, 1998). The sulfate reducing

Fig. 5.1 A) Pore water gradients of nitrate, dissolved manganese, and iron in sediments from the eastern equatorial Atlantic at
5000 m depth. The gradients indicate that Fe2+ is oxidized by NO3

-, whereas Mn2+ may be oxidized by O2 (no data). (Data from
Froelich et al. 1979; Station 10GC1). B) Anaerobic bacterial oxidation of ferrous to ferric iron with nitrate in an enrichment
culture. Filled symbols show results from a growing culture, open symbols shows a control experiment with killed cells (no
concentration changes). Bacteria are clearly needed for the fast iron oxidation with nitrate. Symbols show ferric iron (�  + � )
and nitrate (�  + � ). (Data from Straub et al. 1996).
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bacteria are known to be highly efficient H2
scavengers (Eq. 5.3):

CH4 + 2H2O → CO2 + 4H2 (5.2)

4H2 + SO4
2- + 2H+ → H2S + 4H2O (5.3)

There are also many examples of the reverse
inspiration, that progress in microbiology has led
to a new understanding of geochemistry. One such
example was the discovery of a widespread ability
among laboratory cultures of sulfate reducing and
other anaerobic bacteria to disproportionate
inorganic sulfur compounds of intermediate
oxidation state (Bak and Cypionka 1987). By such a
disproportionation, which can be considered an
inorganic fermentation, elemental sulfur (S0) or
thiosulfate (S2O3

2-) may be simultaneously reduced
to sulfide and oxidized to sulfate:

4S0 + 4H2O → 3H2S + SO4
2- + 2H+ (5.4)

S2O3
2- + H2O → H2S + SO4

2- (5.5)

A search for the activity of such bacteria, by the
use of radiotracers and sediment incubation
experiments, revealed their widespread ocurrence in
the seabed and their great significance for the
marine sulfur cycle (Jørgensen 1990; Jørgensen and
Bak 1991; Thamdrup et al. 1993). Disproportionation
reactions also cause a strong fractionation of sulfur
isotopes, which has recently led to a novel
interpretation of stable sulfur isotope signals in
modern sediments and sedimentary rocks with
interesting implications for the evolution of oxygen
in the global atmosphere and ocean (Canfield and
Teske 1996). The working hypothesis is that the
large isotopic fractionations of sulfur, which in the
geological record started some 600-800 million years
ago, are the result of disproportionation reactions.
From modern sediments we know that these
conditions require two things: bioturbation and an
efficient oxidative sulfur cycle. Both point towards a
coupled evolution of metazoans and a rise in the
global oxygen level towards the end of the
Proterozoic and start of the Cambrian.

5.1.2 Approaches in
Marine Biogeochemistry

The approaches applied in marine biogeo-
chemistry are diverse, as indicated in Figure 5.2,

and range from pure geochemistry to experimental
ecology, microbiology and molecular biology.
Mineral phases and soluble constituents are
analyzed and the data used for modeling of the
diagenetic reactions and mass balances (Berner
1980; Boudreau 1997; Chap. 15). Dynamic
processes are studied in retrieved sediment cores,
which are used to analyze solute fluxes across the
sediment-water interface or to measure process
rates by experimental approaches using, e.g.
radiotracers, stable isotopes or inhibitors. Studies
are also carried out directly on the sea floor using
advanced instrumentation such as autonomous
benthic landers, remotely operated vehicles
(ROV’s), or manned submersibles. Benthic landers
have been constructed which can be deployed on
the open ocean from a ship, sink freely to the deep
sea floor, carry out pre-programmed measurements
while storing data or samples, release ballast and
ascend again to the sea surface to be finally
retrieved by the ship (Tengberg et al. 1995). Such
in situ instruments may be equipped with A)
samplers and analytical instruments for studying
the benthic boundary layer (Thomsen et al. 1996),
B) microsensors for high-resolution measurements
of chemical gradients in the sediment (Reimers
1987; Gundersen and Jørgensen 1990), C) flux
chambers or eddy correlation instrumentation for
measurements of the exchange of dissolved
species across the sediment-water interface (Smith
et al. 1976; Berelson et al. 1987; Berg et al. 2004),
D) coring devices for tracer injection and
measurements of processes down to 0.5 meter
sediment depth (Greeff et al. 1998).

Progress in microsensor technology has also
stimulated research on the interaction between
processes, bacteria and environment at a high
spatial resolution (cf. Sect. 3.4). Microsensors
currently used in marine research can analyze O2,
CO2, pH, NO3

-, Ca2+, S2-, H2S, CH4 and N2O as well
as physical parameters such as temperature, light,
flow or position of the solid-water interface (Kühl
and Revsbech 2001). Sensors have mostly been
based on electrochemical principles. However,
microsensors based on optical fibers (optodes) or
sensors based on enzymes or bacteria (biosen-
sors) are gaining importance. Two-dimensional
optical sensors, planar optodes, for oxygen, pH or
CO2 can be used to map the dynamic distribution
of chemical species at the sediment-water
interface (Glud et al. 2001). Examples of
microsensor data from marine sediments are given
in Chapter 3.

5.1 Role of Microorganisms
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Among the important contributions of micro-
biologists to biogeochemistry is to quantify the
populations of bacteria, isolate new types of
microorganisms from the marine environment,
study their physiology and biochemistry in labo-
ratory cultures, and thereby describe the microbial
diversity and metabolic potential of natural
microbial communities. There are currently about a
thousand species of prokaryotes described from
the sea and the number is steadily increasing. The
rather time-consuming task of isolating and
describing new bacterial species, however, sets a

limit to the rate of progress. The classical micro-
biological approaches also have shortcomings,
among others that only the viable or culturable
bacteria are recognized, and that the counting
procedures for these viable bacteria, furthermore,
underestimate the true population size by several
orders of magnitude.

In recent years, the rapid developments in
molecular biology have opened new possibilities
for the study of bacterial populations and their
metabolic activity without cultivation, even at the
level of individual cells. A new classification of

Fig. 5.2 Approaches of marine biogeochemistry. Top: Geochemical methods based on solute and solid phase
analyses and modelling. Left: Experimental methods for the analyses of process rates. Bottom: Identification,
quantification and characterization of the microbial populations. Right: High resolution and in situ methods for the
analyses of microbial populations and their microenvironment. Graphics by Niels Birger Ramsing.
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the prokaryotic organisms has developed at a
genetic level, based on sequence analyses of
small-subunit ribosomal RNA (16S rRNA), which
now allows a phylogenetic identification of
microorganisms, even of those that have not yet
been isolated and studied in laboratory cultures.
This has revealed much greater species diversity
than had been anticipated just a decade ago and
the number of “species” according to this genetic
diversity has reached ca 10.000, or ten-fold more
than the isolated species, and it is rapidly
growing. The RNA and DNA based methods have
for the first time enabled a true quantification of
defined bacterial groups in nature. By the use of
molecular probes that bind specifically to
ribosomal RNA of selected target organisms both
cultured and uncultured bacteria can now be
identified phylogenetically. When such probes are
fluorescently labelled, a sediment sample may be
stained by the probes and individual cells of the
target bacteria can then be observed and counted
directly under a fluorescense microscope. This
technique is called Fluorescence in situ Hybri-
dization (FISH) and has become an indispensable
tool in biogeochemistry.

As an example of the quantification of bacteria,
Llobet-Brossa et al. (1998) found that the total cell
density of microorganisms in sediment from the
German Wadden Sea was up to 4·109 cells cm-3.
Such a population density of several billion micro-
organisms in a teaspoon of mud is typical of
coastal marine sediments. Of all these cells, up to
73% could be identified by FISH as eubacteria and
up to 45% were categorized to known groups of
eubacteria. The sulfate reducing bacteria compri-
sed some 10-15% of the identified microorganisms,
while other members of the group proteobacteria
comprised 25-30%. Surprisingly, members of the
Cytophaga-Flavobacterium group were the most
abundant in all sediment layers. These bacteria are
specialized in the degradation of complex macro-
molecules and their presence in high numbers
indicates their role in the initial hydrolytic degra-
dation of organic matter.

Such studies of the spatial distribution of
bacteria provide information on where they may
be actively transforming organic or inorganic
compounds, and thereby indicate which proces-
ses are likely to take place. This is particularly
important when chemical species are rapidly
recycled so that the dynamics of their production
or consumption is not easily revealed by geo-
chemical analyses. The introduction of high

resolution tools such as microsensors and
molecular probes has helped to overcome one of
the classical problems in biogeochemistry, namely
to identify the relationship between the processes
that biogeochemists analyze, and the microorga-
nisms who carry them out. The magnitude of this
problem may be appreciated when comparing the
scale of bacteria with that of humans. The bacteria
are generally 1-2 µm large, while we are 1-2 m. As
careful biogeochemists we may use a sediment
sample of only 1 cm3 to study the metabolism of,
e.g. methane producing bacteria. For the study of
the metabolism of humans, this sample size would
by isometric analogy correspond to a soil volume
of 1000 km3. Thus, it is not surprising that very
sensitive methods, such as the use of radio-
tracers, are often necessary when bacterial
processes are to be demonstrated over short
periods of time (hours-days). It is also obvious,
that a 1 cm3 sample will include a great diversity of
prokaryotic organisms and metabolic reactions
and that a much higher resolution is required to
sort out the activities of individual cells or
clusters of organisms.

5.2 Life and Environments at
Small Scale

The size spectrum of living organisms and of their
environments is so vast that it is difficult to com-
prehend (Fig. 5.3). The smallest marine bacteria
with a size of <0.4 µm are at the limit of resolution
of the light microscope, whereas the largest
whales may grow to 30 m in length, eight orders of
magnitude larger. The span in biomass is nearly
the third power of this difference, less than (108)3

or about 1022 (since whales are not spherical),
which is comparable to the mass ratio between
humans and the entire Earth. It is therefore not
surprising that the world as it appears in the
microscale of bacteria is also vastly different from
the world we humans can perceive and from which
we have learned to appreciate the physical laws of
nature. These are the classical laws of Newton,
relating mass, force and time with mass movement
and flow and with properties such as acceleration,
inertia and gravitation. As we go down in scale
and into the microenvironment of marine bacteria,
these properties lose their significance. Instead,
viscosity becomes the strongest force and mole-
cular diffusion the fastest transport.

5.2 Life and Environments at Small Scale
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5.2.1 Hydrodynamics
of Low Reynolds Numbers

Water movement on a large scale is characterized
by inertial flows and turbulence. These are the
dominant mechanisms of transport and mixing, yet
they are inefficient in bringing substrates to the
microorganisms living in the water. This is
because the fundamental property required for
turbulence, namely the inertial forces associated
with mass, plays no role for very small masses, or
at very small scales, relative to the viscosity or
internal friction of the fluid. In the microscale, time
is insignificant for the movement of water, par-
ticles or organisms and only instantaneous forces
are important. Furthermore, fluid flow is rather
simple and predictable, the water sticking to any
solid surface and adjacent water volumes slipping
past it in a smooth pattern of laminar flow. The
transition from laminar to turbulent flow depends
on the scale and the flow velocity and is de-
scribed by the dimensionless Reynolds number,
Re, which expresses the ratio between inertial and
viscous forces affecting the fluid or the particle
considered:

Re = uL/ν (5.6)

where u is the velocity, L is the characteristic
dimension of the water parcel or particle, and ν is

the kinematic viscosity of the seawater (ca. 0.01
cm2 s-1 at 20°C). The transition from low (<1) to
high Reynolds numbers for swimming organisms,
for sinking particles, or for hydrodynamics in
general lies in the size range of 0.1-1 mm.

5.2.2 Diffusion at Small Scale

Diffusion is a random movement of molecules due
to collision with water molecules which leads to a
net displacement over time, a ‘random walk’.
When a large number of molecules is considered,
the mean deviation, L (more precisely: the root
mean square of deviations), from the starting
position is described by a simple but very
important equation, which holds the secret of
diffusion:

DtL 2= (5.7)

where D is the diffusion coefficient and t is the
time. This equation says that the distance mole-
cules are likely to travel by diffusion increases
only with the square root of time, not with time
itself as in the locomotion of objects and fluids
which we generally know from our macroworld.
Expressed in a different way, the time needed for
diffusion increases with the square of the
distance:

Fig. 5.3 Relationships between size, diffusion time and Reynolds number. Representative organisms of the different
scales and their length and biomass are indicated. The diffusion times were calculated for small solutes with a
molecular diffusion coefficient of 10-5 cm2 s–1. The Reynolds numbers were calculated for organisms swimming at a
speed typical for their size or for water parcels of similar size and moving at similar speed.
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D
Lt
2

2
= (5.8)

These are very counter-intuitive relations which
have some surprising consequences. From Eq. 5.7
one can calculate the ‘diffusion velocity’, which is
distance divided by time:

‘Diffusion velocity’ tDt
L /2==           (5.9)

This leads to the curious conclusion that the
shorter the period over which we measure dif-
fusion, the larger is its velocity and vice versa.
This is critical to keep in mind when working with
diagenetic models, because the different chemical
species have time and length scales of diffusion
and reaction which vary over many orders of
magnitude and which are therefore corresponding-
ly difficult to compare.

Calculations from Eq. 5.8 of the diffusion times
of oxygen molecules at 10°C show that it takes
one hour for a mean diffusion distance of 3-4 mm,
whereas it takes a day to diffuse 2 cm and
1000 years for 10 meters (Table 5.1). For a small
organic molecule such as glucose, these
diffusion times are about three times longer. Over
the scale of a bacterium, however, diffusion takes
only 1/1000 second. Thus, for bacteria of 1 µm
size, one could hardly envision a transport mecha-
nism which would outrun diffusion within a
millisecond. The transition between predominantly
diffusive to predominantly advective or turbulent
transport of solutes lies in the range of 0.1 mm for
actively swimming organisms and somewhat
higher for passively sinking marine aggregates
(Fig. 5.3).

5.2.3 Diffusive Boundary Layers

The transition from a turbulent flow regime with
advective and eddy transport to a small scale
dominated by viscosity and diffusional transport
is apparent when an impermeable solid-water
interface such as the sediment surface is approa-
ched (Fig. 5.4). According to the classical eddy
diffusion theory, the vertical component of the
eddy diffusivity, E, decreases as a solid interface
is approached according to: E = A ν Z3-4, where A is
a constant, ν is the kinematic viscosity, and Z is
the height above the bottom. An exponent of 3-4

shows that the eddy diffusivity drops very
steeply as the sediment surface is approached. In
the viscous sublayer, which is typically about
1 cm thick in the deep sea, the eddy diffusivity
falls below the kinematic viscosity of ca 10-2 cm2 s-1.
Even closer to the sediment surface, the vertical
eddy diffusion coefficient for mass falls below the
molecular diffusion coefficient, D, which is
constant for a given solute and temperature, and
which for small dissolved molecules is in the order
of 10-5 cm2 s-1. The level where E becomes smaller
than D defines the diffusive boundary layer, δe,
which is typically about 0.5 mm thick. In this layer,
molecular diffusion is the predominant transport
mechanism, provided that the sediment is
impermeable and stable.

The diffusive boundary layer plays an
important role for the exchange of solutes across
the sediment-water interface (Jørgensen 2001). For
chemical species which have a very steep gradient
in the diffusive boundary layer it may limit the flux
and thereby the rate of chemical reaction. This
may be the case for the precipitation of manga-
nese on iron-manganese nodules (Boudreau 1988)
or for the dissolution of carbonate shells and
other minerals such as alabaster in the deep sea
(Santschi et al. 1991). For chemical species with a

5.2 Life and Environments at Small Scale

Table 5.1 Mean diffusion times for O2 and glucose over
distances ranging from 1 µm to 10 m.

Diffusion           Time (10°C)
distance Oxygen Glucose

1 µm 0.34 ms 1.1 ms
3 µm 3.1 ms 10 ms
10 µm 34 ms 110 ms
30 µm 0.31 s 1.0 s

100 µm 3.4 s 10 s
300 µm 31 s 100 s
600 µm 2.1 min 6.9 min
1 mm 5.7 min 19 min
3 mm 0.8 h 2.8 h
1 cm 9.5 h 1.3 d
3 cm 3.6 d 12 d
10 cm 40 d 130 d
30 cm 1.0 yr 3.3 yr
1 m 10.8 yr 35 yr
3 m 98 yr 320 yr

10 m 1090 yr 3600 yr
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weak gradient, such as sulfate, the diffusive
boundary layer plays no role since the uptake of
sulfate is totally governed by diffusion-reaction
within the sediment. The function of the diffusive
boundary layer as a barrier for solute exchange is
also reflected in the mean diffusion time of
molecules through the layer, which is about 1 min
over a 0.5 mm distance (Table 5.1).

The existence of a diffusive boundary layer is
apparent from microsensor measurements of
oxygen and other solutes at the sediment-water
interface. In a Danish coastal sediment, the
concentration of oxygen dropped steeply over the
0.5 mm thick boundary layer (Fig. 5.4) which
consequently had a significant influence on the
regulation of oxygen uptake in this sediment of
high organic-matter turnover. Figure 5.5 shows, as
another example, oxygen penetration down to
13 mm below the surface in fine-grained sediment.
The profile was measured in situ in the seabed by
a free-falling benthic lander operating with a

100 µm depth resolution, which was just sufficient
to resolve the diffusive boundary layer. Based on
the boundary layer gradient, the vertical diffusion
flux of oxygen across the water-sediment interface
can be calculated (cf. Chap. 3).

5.3 Regulation and Limits
of Microbial Processes

Bacteria and other microorganisms are the great
biological catalysts of element cycling at the sea
floor. The degradation and remineralization of
organic matter and many redox processes among
inorganic species are dependent on bacterial
catalysis, which may accelerate such processes up
to 1020-fold relative to the non-biological reaction
rate. It is, however, important to keep in mind that
this biological catalysis is based on living
organisms, each of which has its special

Fig. 5.5 Oxygen gradient measured in situ by a benthic
lander in Skagerrak at the transition between the Baltic Sea
and the North Sea at 700 m water depth. Due to the high
depth resolution of the microelectrode measurements it
was possible to analyze the O2 microgradient within the
0.5 mm thick diffusive boundary layer. The framed part in
the upper graph is blown up in the lower graph. (Data from
Gundersen et al. 1995).

Fig. 5.4 Oxygen microgradient (data points) at the sediment-
water interface compared to the ratio, E/D (logarithmic scale),
between the vertical eddy diffusion coefficient, E, and the
molecular diffusion coefficient, D. Oxygen concentration was
constant in the overflowing seawater. It decreased linearly
within the diffusive boundary layer (DBL), and penetrated only
0.7 mm into the sediment. The DBL had a thickness of
0.45 mm. Its effective thickness, δe is defined by the inter-
section between the linear DBL gradient and the constant bulk
water concentration. The diffusive boundary layer occurs
where E becomes smaller than D, i.e. where E/D = 1 (arrow).
Data from Aarhus Bay, Denmark, at 15 m water depth during
fall 1990 (Gundersen et al. 1995).
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requirements and limits for its physical and
chemical environment, its supply of nutrients,
growth rate and mortality, interaction with other
organisms, etc..

5.3.1 Substrate Uptake by Microorganisms

Among the many reasons for the importance of
prokaryotic organisms in biogeochemical cycling
are:

A) Their metabolic versatility, especially the many
types of anaerobic metabolism and the ability
to degrade complex polymeric substances or to
catalyze reactions among inorganic com-
pounds.

B) Their small size which allows them to inhabit
nearly any environment on the surface of the
Earth and which strongly enhances the effi-
ciency of their catalytic activity.

C) The wide range of environmental conditions
under which they thrive, including tempera-
ture, salinity, pH, hydrostatic pressure, etc..

The metabolic versatility of prokaryotic organisms
is discussed in Section 5.4. The small size of the

individual cells is related to their nutrition exclu-
sively on solutes such as small organic molecules,
inorganic ions or gases. The uptake of food by
the prokaryotic cells thus takes place principally
by molecular diffusion of small molecules to the
cell surface and their transport through the
cytoplasmic membrane into the cell. This con-
strains the relationships between cell size,
metabolic rate, substrate concentration and mole-
cular diffusion coefficients (D) (e.g. Koch 1990;
1996; Karp-Boss et al. 1996). The concentration
gradient around the spherical cell is:

Cr = (R/r) · (C0 – C∞) + C∞  , r > R (5.10)

where Cr is the concentration at the radial
distance, r, C0 is the substrate concentration at
the cell surface, C∞ is the ambient substrate
concentration, and R is the radius of the cell (Fig.
5.6). The maximal substrate uptake rate of a cell is
reached when the substrate concentration at the
cell surface is zero. The total diffusion flux, J, to
the cell is then:

J = 4 π DR C∞ (5.11)

This flux provides the maximal substrate supply
to the diffusion-limited cell, which has a volume
of 4/3 π R3. The flux thus determines the maximal
specific rate of bacterial metabolism of the sub-
strate molecules, i.e. the metabolic rate per volume
of biomass:

Specific metabolic rate =
(4 π DR C∞)/(4/3 π R3) = (3D/R2)C∞ (5.12)

Eq. 5.12 shows that the biomass-specific
metabolic rate of the diffusion-limited cell varies
inversely with the square of its size. This means
that the cell could potentially increase its specific
rate of metabolism 4-fold if the cell diameter were
only half as large. The smaller the cell, the less
likely it is that its substrate uptake will reach
diffusion limitation. Thus, at the low substrate
concentrations normally found in marine envi-
ronments, microorganisms avoid substrate limita-
tion by forming small cells of <1 µm size. Thereby,
the bacteria become limited by their transport
efficiency of molecules across the cell membrane
rather than by diffusion from their surroundings
(Fig. 5.6). In the nutrient-poor seawater, where
substrates are available only in sub-micromolar
and even nanomolar concentrations, free-living

5.3 Regulation and Limits of Microbial Processes

Fig. 5.6 Theoretical concentration gradient of substrate
molecules around a spherical cell at different radial distances
from its center (R is the radius of the cell). The
concentration of substrate in the bulk water is C∞ and
concentration curves were calculated from Eq. 5.10 for a
cell limited in its substrate uptake by external diffusion
(‘Diffusion limited’) or by the uptake capacity across its
own cell membrane (‘Uptake limited’). Note how the
substrate concentration only gradually approaches the bulk
concentration with increasing distance from the cell.
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bacteria may have an impressingly high substrate
uptake efficiency which corresponds to each
second clearing the substrate from a seawater
volume that is several hundred times their own
volume. In sediments, on the other hand, bacteria
often form microcolonies or their diffusion supply
is impeded by sediment structures so that the
microorganisms may at times be diffusion limited
in their substrate uptake. It is not clear, however,
how this affects the kinetics of substrate turnover
in sediments.

The recent discovery of ‘giant’ bacteria of
up to ¾ mm diameter in the seabed off Namibia
seems contradictory to the constraints on
bacterial size discussed above (Schulz et al. 2001;
Chap. 8). These sulfide-oxidizing and nitrate-
reducing bacteria of a new genus, Thiomargarita
namibiensis, have a unique intracellular organelle,
a liquid vacuole, which fills more than 90% of the
cellular volume. The cytoplasm is thus only a thin
peripheral layer a few µm thick that is not
diffusion limited.

5.3.2 Substrate Limitation in the Deep
Sub-surface

The theoretical limit for substrate availability
required to sustain bacterial growth and survival
is of great biogeochemical significance, e.g. in
relation to the exceedingly slow degradation of
organic material in million-year old sediments and
oil reservoirs deep under the sea floor (Stetter et
al. 1993; Parkes et al. 1994). Until a few decades
ago, the microbial world was thought to be limited
to the upper meters of the seabed, while the
deeper sediments were thought to be sterile in
spite of significant amounts of organic material
buried at much greater depths. The exploration of
the deep sub-seafloor biosphere started in the
early 1980’ies when the first evidence of microbial
activity was provided by studies of methane
formation and sulfate reduction in cores obtained
from the Deep Sea Drilling Program. Systematic
counts of fluorescently stained cells in cores of
the Ocean Drilling Program have since then led to
a large data base on the population size of deep
biosphere microorganisms (Parkes et al. 2000;
D’Hondt et al. 2004). Fig. 5.7 shows in a double-
logarithmic plot the depth distribution of these
prokaryotic cells, from the top cm to the greatest
sampling depth of 800 mbsf. The plot shows a
large scatter in population density between
different sites cored but also a systematic

decrease in cell numbers from >109 cells cm-3 at the
surface to <106 cells cm-3 at depth. Whitman et al.
(1998) made a global extrapolation based on the
available data and came to the astonishing
conclusion that the prokaryotes of sub-seafloor
sediments constitute a “hidden majority”
equivalent to 1/2 to 5/6 of Earth’s prokaryotic
biomass and 1/10 to 1/3 of Earth’s total living
biomass.

This vast prokaryotic population plays a
critical role in global carbon cycling by controlling
the amount of deposited organic material that
becomes buried to great depth in the seabed and
stored there for many millions of years. The
gradual geothermal heating of sediments as they
become buried to many hundred meters depth
enhances the availability of even highly refractory

Fig. 5.7 Depth distribution in the seabed of micro-
organisms enumerated by direct microscopic counts of
cells stained by a fluorescent DNA stain. The graph shows
the global data from ODP cores in a double-log plot,
from the sediment surface to 800 m subsurface. Data
from Parkes et al. (2000).
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organic material to microbial attack and leads to
further mineralization with the ultimate formation
of methane (Wellsbury et al. 1997). The methane
slowly diffuses upwards from the deep deposits
and becomes oxidized to CO2 as it reaches the
bottom of the sulfate zone (Chap. 8), or it
accumulates as gas hydrate within the upper
sediment strata (Borowski et al. 1996). The gas
hydrates constitute a reduced carbon reservoir
that greatly exceeds the amount of carbon in all
living organisms on Earth (Kvenvolden, 1993;
Chap. 14).

It remains an open question how the
microorganisms in subsurface sediments are able
to survive on the extremely low energy and carbon
flux available for each cell. By DNA/RNA based
techniques it could be shown that a significant
fraction of the bacteria are alive and active rather
than dormant or even dead (Schippers et al. 2005).
Yet, calculations from cell numbers and measured
or modeled mineralization rates show that the
organic carbon flux available in million year old
sediments allows only generation times of years
to thousands of years (Whitman et al. 1998;
Schippers et al. 2005).

5.3.3 Temperature as a Regulating Factor

The sea floor is mostly a cold environment with
85% of the global ocean having temperatures
below 5°C. At the other extreme, hydrothermal

vents along the mid-oceanic ridges have
temperatures reaching above 350°C. In each
temperature range from the freezing point to an
upper limit of around 110°C there appear to be
prokaryotic organisms that are well adapted and
even thrive optimally at that temperature. Thus,
extremely warm-adapted (hyperthermophilic)
methane producing or elemental-sulfur reducing
bacteria, which live at the boiling point of water,
are unable to grow at temperatures below 60-70°C
because it is too cold for them (Stetter 1996).

It is well known that chemical processes as
well as bacterial metabolism are slowed down by
low temperature. Yet, the biogeochemical
recycling of deposited organic material in marine
sediments does not appear to be less efficient or
less complete in polar regions than in temperate or
tropical environments. Sulfate reduction rates in
marine sediments of below 0°C around Svalbard at
78° north in the Arctic Ocean are comparable to
those at similar water depths along the European
coast (Sagemann et al. 1998). Figure 5.8A shows
the short-term temperature dependence of sulfate
reduction rates in such Svalbard sediments. As is
typical for microbial processes, the optimum
temperature of 25-30°C is high above the in
si tu temperature,  which was -1.7°C during
summer. Above the optimum, the process rate
dropped steeply, which is due to enzymatic
denaturation and other physiological malfunc-
tioning of the cells and which shows that this is a

Fig. 5.8 Temperature regulation of bacterial sulfate reduction in different marine sediments. The data show the
rates of sulfate reduction in a homogenized sample from the upper few tens of cm of sediment measured by short-
term incubations in a temperature gradient block with radiolabelled sulfate as a tracer. A) Arctic sediment from
175 m depth in Storfjorden on Svalbard at 78°N where the in situ temperature was –1.7°C. (Data from Sagemann et
al. 1998). B) Hydrothermal sediment from the Guaymas Basin, Gulf of California, at 2000 m depth. The
hydrothermal fluid here seeps up through fine-grained, organic-matter rich sediment which was collected at 12-
18 cm depth where the in situ temperature was 54-71°C.  (Data from Weber and Jørgensen 2002).

5.3 Regulation and Limits of Microbial Processes
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biologically catalyzed process. Chemically cata-
lyzed processes, in contrast, tend to have a conti-
nuous increase in rate with increasing tempe-
rature. Although the sulfate reduction was slow at
<0°C this does not mean that the bacteria do not
function well at low temperature. On the contrary,
the Arctic sulfate reducers had their highest
growth efficiency (i.e. highest biomass production
per amount of substrate consumed) at around 0°C,
in contrast to sulfate reducers from temperate
environments which have their highest growth
efficiency at the warm temperatures experienced
during summer (Isaksen and Jørgensen 1996;
Knoblauch and Jørgensen 1999).

The radiotracer method of measuring sulfate
reduction in sediments (see Sect. 5.6) is a
sensitive tool to demonstrate the temperature
strains among the environmental microorganisms.
In 54-71°C warm sediment from the hydrothermal
sediments of the Guaymas Basin, Gulf of
California, two main groups of sulfate reducers
could be discriminated from their temperature
optima: a) moderate thermophiles with an optimum
at 60°C, b) extreme thermophiles with optimum at
80-90°C (Fig. 5.8B). Moderately thermophilic
sulfate reducers are well known from pure cultures
of Desulfotomaculum, whereas extreme thermo-
philes with optimum at 85°C are known among the
genus, Archaeoglobus (Stetter 1988). Such
prokaryotic organisms have been isolated from
hydrothermal environments and have also been
found in oil reservoirs 3000 m below the seabed
where the temperature is up to 110°C and the
hydrostatic pressure up to 420 bar.

Surprisingly, sulfate reducers adapted to the
normal low temperatures of the main sea floor
were also unknown until recently. Such cold-
adapted (psychrophilic) bacteria are generally
scarce among the culture collections in spite of
their major biogeochemical significance. This is
partly because of their slow growth which makes
them difficult to isolate and cumbersome to study.
A number of psychrophilic sulfate reducers were
recently isolated which have temperature optima
down to 7°C and are unable to grow above 10-
15°C because it is too hot (Knoblauch et al. 1999).

These examples demonstrate a general problem
in marine microbiology, namely that the large
prokaryotic diversity comprises adaptations to
very diverse environments and that only a very
small fraction, maybe less than one percent, of the
bacterial species in the ocean is known to science
today. Many of the unknown microorganisms may

be among the biogeochemically very important
species. The estimate is based on recent
methodological advances in molecular biology
that have made it possible to analyze the diversity
of natural prokaryotic populations, including the
large majority that has still not been isolated or
studied.

5.3.4 Other Regulating Factors

The major area of the sea floor lies in the deep sea
below several thousand meters of water where an
enormous hydrostatic pressure prevails. Since the
pressure increases by ca 1 bar (1 atm) for every
10 meters, bacteria living at 5000 m depth must be
able to withstand a pressure of 500 bar (50 MPa).
Microorganisms isolated from sediments down to
3000-4000 m have been found to be preferentially
barotolerant, i.e. they grow equally well at sea
surface pressure as at their in situ pressure. At
depths exceeding 4000 m the isolated bacteria
become increasingly barophilic, i.e. they grow
optimally at high pressures, and bacteria isolated
from deep sea trenches at 10,000 m depth were
found to grow optimally at 700-1000 bar (Yayanos
1986). Many barophilic bacteria are also psychro-
philic in accordance with the low temperature of
1-4°C prevailing in the deep sea (DeLong et al.
1997). They appear to grow relatively slowly
which may be an adaptation to low temperature
and low nutrient availability rather than a direct
effect of high pressure. The degradation of or-
ganic material appears to be just as efficient in
the deep sea as in shallower water, since only a
few percent of sedimenting detritus resist mine-
ralization and are buried deep down into the
sediment.

5.4 Energy Metabolism of
Prokaryotes

Microorganisms can be considered 1 µm large
bags of enzymes in which the important biogeo-
chemical processes are catalyzed. This analogy,
however, is too crude to understand how and why
these microscopic organisms drive and regulate
the major cycles of elements in the ocean. This
requires a basic knowledge of their energy
metabolism and physiology.

The cells use the chemical energy of organic or
inorganic compounds for cell functions which
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require work: growth and division, synthesis of
macromolecules, transport of solutes across the
cell membrane, secretion of exoenzymes or exo-
polymers, movement etc. The organisms catalyze
reduction-oxidation (redox) processes from which
they conserve a part of the energy and couple it to
the formation of a proton gradient across the
cytoplasmic membrane. The socalled proton motive
force established by this gradient is comparable to
the electron motive force of an ordinary battery. It
is created by the difference in electrical charge and
H+ concentration between the inside (negative and
low H+, i.e. alkaline) and the outside (positive and
high H+) of the membrane. By reentry of protons
into the cell through membrane-bound ATPase
protein complexes, it drives the formation of high

energy phosphate bonds in compounds such as
ATP (adenosine triphosphate), which functions as
a transient storage of the energy and is con-
tinuously recycled as the phosphate bond is
cleaved in energy-requiring processes. ATP is
utilized very widely in organisms as the fuel to
drive energy requiring processes, and a funda-
mental question in all cellular processes is, how
much ATP do they produce or consume?

Redox processes, whether biological or
chemical, involve a transfer of one or more elec-
trons between the chemical reactants. An example
is the oxidation of ferrous iron to ferric iron by
oxygen at low pH:

2Fe2+ + ½O2 + 2H+ → 2Fe3+ + H2O (5.13)

Table 5.2 Pathways of organic matter oxidation, hydrogen transformation and fermentation in the sea floor and
their standard free energy yields, ∆G0, per mol of organic carbon. [CH2O] symbolizes organic matter of unspecified
composition. ∆G0 values at pH 7 according to Thauer et al. (1977), Conrad et al. (1986), and Fenchel et al. (1998).
(cf. Fig. 3.11).

5.4 Energy Metabolism of Prokaryotes

Pathway and stoichiometry of reaction ∆G0 (kJ mol-1)

Oxic respiration:
[CH2O] + O2 → CO2 + H2O -479

Denitrification:
5[CH2O] + 4NO3

- → 2N2 + 4HCO3
- + CO2 + 3H2O -453

Mn(IV) reduction:
[CH2O] + 3CO2 + H2O + 2MnO2 → 2Mn2+ + 4HCO3

- -349

Fe(III) reduction:
[CH2O] + 7CO2 + 4Fe(OH)3 → 4Fe2+ + 8HCO3

- + 3H2O -114

Sulfate reduction:
2[CH2O] + SO4

2- → H2S + 2HCO3
- -77

4H2 + SO4
2- + H+ → HS- + 4H2O -152

CH3COO- + SO4
2- + 2H+ → 2CO2 + HS- + 2H2O -41

Methane production:
4H2 + HCO3

- + H+ → CH4 + 3H2O -136
CH3COO- + H+ → CH4 + CO2 -28

Acetogenesis:
4H2 + 2CO3

- + H+ → CH3COO- + 4H2O -105

Fermentation:
CH3CH2OH + H2O → CH3COO- + 2H2 + H+ 10
CH3CH2COO- + 3H2O → CH3COO- + HCO3

- + 3H2 + H+ 77
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By this reaction, a single electron is transferred
from each Fe2+ ion to the O2 molecule. The ferrous
iron is thereby oxidized to ferric iron, whereas the
oxygen is reduced to water. In the geochemical
literature, O2 in such a reaction is termed the
oxidant and Fe2+ the reductant. In the biological
literature, the terms electron acceptor for O2 and
electron donor for Fe2+ are used.

5.4.1 Free Energy

Chemical reactions catalyzed by microorganisms
yield highly variable amounts of energy and some
are directly energy consuming. The term free
energy, G, of a reaction is used to express the
energy released per mol of reactant, which is
available to do useful work. The change in free
energy is conventionally expressed as ∆G0, where
the symbol ∆ should be read as ‘change in’ and
the superscript 0 indicates the following standard
conditions: pH 7, 25°C, a 1 M concentration of all
reactants and products and a 1 bar partial
pressure of gases. The value of ∆G0 for a given
reaction is expressed in units of kilojoule (kJ) per
mol of reactant. If there is a net decrease in free
energy (∆G0 is negative) then the process is
exergonic and may proceed spontaneously or
biologically catalyzed. If ∆G0 is positive, the
process is endergonic and energy from ATP or
from an accompanying process is required to drive
the reaction. The change in free energy of several
metabolic processes in prokaryotic organisms is
listed in Table 5.2.

A thorough discussion of the theory and
calculation of ∆G0 for a variety of anaerobic
microbial processes is given by Thauer et al.
(1977). As a general rule, processes for which the
release of energy is very small, < ca 20 kJ mol-1, are
insufficient for the formation of ATP and are thus
unable to serve the energy metabolism of
microorganisms (Hoehler et al. 1998). It is
important to note, however, that standard
conditions are seldom met in the marine
environment and that the actual conditions of pH,
temperature and substrate/product concentrations
must be known before the energetics of a certain
reaction can be realistically calculated. Several
processes, which under standard conditions
would be endergonic, may be exergonic in the
normal marine sediment.

An important example of this is the formation
of H2 in several bacterial fermentation processes
which is exergonic only under low H2 partial

pressure. The hydrogen cycling in sediments is
therefore dependent on the immediate consump-
tion of H2 by other organisms, such as the sulfate
reducing bacteria, which keep the partial pressure
of H2 extremely low. The H2-producing and the H2-
consuming bacteria thus tend to grow in close
proximity to each other, thereby facilitating the
diffusional transfer of H2 at low concentration
from one organism to the other, a so-called ‘inter-
species hydrogen transfer’ (Conrad et al. 1986;
Schink 1997).

5.4.2 Reduction-Oxidation Processes

The electron transfer in redox processes is often
accompanied by a transfer of protons, H+. The
simplest example is the oxidation of H2 with O2 by
the so-called ‘Knallgas-bacteria’, which occur
widespread in aquatic sediments:

H2 + ½O2 → H2O (5.14)

In the energy metabolism of cells, an intermediate
carrier of the electrons (and protons) is commonly
required. Such an electron carrier is, for instance,
NAD+ (nicotinamid adenin dinucleotide), which
formally accepts two electrons and one proton
and is thereby reduced to NADH. The NADH may
give off the electrons again to specialized electron
acceptors and the protons are released in the cell
sap. Thereby, the NADH, which must be used
repeatedly, is recycled.

A redox process such as Eq. 5.14 formally
consists of two reversible half-reactions. The first
is the oxidation of H2 to release electrons and
protons:

H2 ⇔ 2e- + 2H+ (5.15)

The second is the reduction of oxygen by the
transfer of electrons (and protons):

½O2 +2e- + 2H+ ⇔ H2O (5.16)

Compounds such as H2 and O2 vary strongly in
their tendency to either give off electrons and
thereby become oxidized (H2) or to accept
electrons and thereby become reduced (O2). This
tendency is expressed as the redox potential, E0

',
of the compounds. This potential is expressed in
volts and is measured electrically in reference to
a standard compound, namely H2. By convention,
redox potentials are expressed for half reactions
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which are reductions, i.e. ‘oxidized form + e- →
reduced form’. When protons are involved in the
reaction, the redox potential in the biological
literature is expressed at pH 7, because the
interior of cells is approximately neutral in pH. A
reducing compound such as H2, with a strong
tendency to give off electrons (Eq. 5.15), has a
strongly negative E0

' of -0.414 V. An oxidizing
compound such as O2, with a strong tendency to
accept electrons (Eq. 5.16), has a strongly
positive E0

' of +0.816 V. The free energy yield,
∆G0, of a process is proportional to the difference
in E0

' of its two half-reactions, ∆E0
', and the redox

potentials of electron donor and electron
acceptor in a microbial energy metabolism
therefore provide important information on
whether they can serve as useful substrates for
energy metabolism:

∆G0 = -n F ∆E0
' [kJ mol-1] (5.17)

where n is the number of electrons transferred by
the reaction and F is Faraday’s constant (96,485
Coulomb mol-1).

The redox potentials of different half-reactions,
that are of importance in biogeochemistry, are shown
in Figure 5.9. The two ‘electron towers’ show the
strongest reductants (most negative E0

') at the top
and the strongest oxidants at the bottom. Reactions
between electron donors of more negative E0

' with
electron acceptors of more positive E0

' are exergonic
(‘downhill’) and may provide the basis for biological
energy metabolism. The larger the drop in E0

'

between electron donor and acceptor, the more
energy is released. As an example, the oxidation of
ferrous iron in the form of FeCO3 with NO3

- is shown,
a process that was discussed in Section 5.1.1 (Fig.
5.1, Straub et al. 1996). The oxidation of organic
compounds such as lactate or acetate by O2 releases
maximum amounts of energy, and aerobic respiration
is, accordingly, the basis for metazoan life and for
many microorganisms.

Fig. 5.9 The ‘electron towers’ of redox processes in biogeochemistry. By the half-reaction on the left side, electrons
are released from an electron donor and are transferred to an electron acceptor in the half-reaction on the right side.
The drop in redox potential between donor and acceptor is a measure of the chemical energy released by the process.
The redox potentials are here calculated for standard conditions at pH 7 and 1 mM concentrations of substrates and
products. As an example, the electron transfer (arrow between electron towers) is shown for the oxidation of ferrous
carbonate with nitrate (see text).

5.4 Energy Metabolism of Prokaryotes
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5.4.3 Relations to Oxygen

Before discussing the biological reactions
further,  a few basic concepts should be
clarified. One is the relation of living organisms
to O2. Those organisms, who live in the pre-
sence of oxygen, are termed aerobic (meaning
‘living with oxygen’), whereas those who live in
the absence of oxygen are anaerobic .  This
discrimination is both physiologically and
biogeochemically important.  In all  aerobic
organisms, toxic forms of oxygen, such as
peroxide or superoxide, are formed as by-
products of the aerobic metabolism. Aerobic
organisms rapidly degrade these aggressive
species with enzymes such as catalase,
peroxidase or superoxide dismutase.  Many
organisms, which are obligately anaerobic, lack
these enzymes and are not able to grow in the
presence of oxygen for this and other reasons.
Some organisms need oxygen for their re-
spiration, yet they are killed by higher O2
concentrations. They are microaerophilic and
thrive at the lower boundary of the O2 zone,
between the oxic (containing oxygen) and the
anoxic  (without oxygen) environments. Other,
non-obligately (facultatively) anaerobic
bacteria may live both in oxidized  and in
reduced zones of the sediment. The oxidized
sediment is characterized by redox potentials,
as measured by a naked platinum electrode, of
EH>0-100 mV and up to about +400 mV. Oxidized
sediments are generally brown to olive because
iron minerals are in oxidized forms. In most
marine sediments the O2 penetration is small
relative to the depth of oxidized iron minerals.
Most of the oxidized zone is therefore anoxic
and has been termed suboxic (Froelich et al.
1979).  The reducing sediment  below the
suboxic zone has EH below 0-100 mV and down
to -200 mV and may be black or gray from
different forms of iron sulfide minerals.

5.4.4 Definitions of Energy Metabolism

We are now ready to explore the main types of
energy metabolism. Microbiologists use a termi-
nology for the different types based on three
criteria: a) the energy source, b) the electron
donor and c) the carbon source (Table 5.3). To
the term for each of these criteria or their
combination is added ‘-troph’, meaning
‘nutrition’. For each of the three criteria there are
two alternatives, thus leading to 23 = 8
possibilities. The combinations are, however,
partly coupled and only five of them are of bio-
geochemical significance.

The energy source of the phototrophic
organisms such as plants, algae and photo-
synthetic bacteria is light. For the chemotrophic
organisms such as animals, fungi and many
bacteria it is chemical energy, e.g. of glucose,
methane or ammonium. Many phototrophic
microorganisms have the capacity to switch
between a phototrophic mode of life in the light
and a heterotrophic mode, where they take up
organic substrates.

The electron donor of green plants is an
inorganic compound, H2O, and the final electron
acceptor is CO2:

CO2 + H2O → CH2O + O2 (5.18)

where CH2O symbolizes the organic matter in plant
biomass. A more accurate stoichiometry, originally
suggested by Redfield (1958) for marine phyto-
plankton assimilating also nitrate and phosphate
as nutrients, is:

106CO2 + 16NO3
- + HPO4

2- + 122H2O + 18H+ →
C106H263O110N16P + 138O2 (5.19)

The chemical composition shows that biomass
is more reduced than CH2O, in particular due to
the lipid fraction.

Table 5.3 Microbiological terminology for different types of energy metabolism.

Energy source Electron donor Carbon source

Light: photo- Inorganic: litho- CO2: auto-troph

Chemical: chemo- Organic: organo- Organic C: hetero-troph
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The electron donor of many biogeochemically
important, phototrophic or chemotrophic bacteria
is also inorganic, such as H2, Fe2+ or H2S. All
these organisms are called lithotrophic from
‘lithos’ meaning rock. In contrast, organotrophic
organisms such as animals use an organic elec-
tron donor:

CH2O + O2 → CO2 + H2O (5.20)

Finally, organisms such as the green plants, but
also many lithotrophic bacteria, are autotrophs, i.e.
they are able to build up their biomass from CO2
and other inorganic nutrients. Animals and many
bacteria living on organic substrates instead
incorporate organic carbon into their biomass and
are termed heterotrophs. Among the prokaryotes,
there is not a strict discrimination between
autotrophy and heterotrophy. Thus, heterotrophs
generally incorporate 4-6% CO2 (mostly to convert
C3 compounds to C4 compounds in anaplerotic
reactions, in order to compensate for C4
compounds which were consumed for biosyn-
thetic purposes in the cell). This heterotrophic CO2
assimilation has in fact been used to estimate the
total heterotrophic metabolism of bacterioplankton
based on their dark 14CO2 incorporation. As another
example, sulfate reducing bacteria living on acetate
are in principle heterotrophs but derive about 30%
of their cell carbon from CO2. Aerobic methane
oxidizing bacteria, which strictly speaking are also
living on an organic compound, incorporate 30-90%
CO2.

The three criteria in Table 5.3 can now be used
in combination to specify the main types of energy
metabolism of organisms. Green plants are
photolithoautotrophs while animals are chemoorga-
noheterotrophs. This detail of taxonomy may seem
an exaggeration for these organisms which are in
daily terms called photoautotrophs and hetero-
trophs. However, the usefulness becomes apparent
when we need to understand the function of, e.g.
chemolithoautotrophs or chemolithoheterotrophs
for the cycling of nitrogen, manganese, iron or
sulfur in marine sediments (see Sect. 5.5).

5.4.5 Energy Metabolism of
Microorganisms

The basic types of energy metabolism and repre-
sentative organisms of each group are compiled in
Table 5.4. Further information can be found in
Fenchel et al. (1998), Ehrlich (1996), Madigan et al.

(1997), Canfield et al. (2005) and other textbooks.
Most photoautotrophic organisms use water to
reduce CO2 according to the highly endergonic
reaction of Eq. 5.18. Since water has a high redox
potential it requires more energy than is available
in single photons of visible light to transfer elec-
trons from water to an electron carrier, NADP+,
which can subsequently reduce CO2 through the
complex pathway of the Calvin-Benson cycle.
Modern plants and algae, which use H2O as an
electron donor, consequently transfer the
electrons in two steps through two photocenters.
In photosystem II, electrons are transferred from
H2O which is oxidized to O2. In photosystem I
these electrons are transferred to a highly redu-
cing primary acceptor and from there to NADP+.
More primitive phototrophic bacteria, which
predominated on Earth before the evolution of
oxygenic photosynthesis, have only one
photocenter and are therefore dependent on an
electron donor of a lower redox potential than
water. In the purple and green sulfur bacteria or
cyanobacteria, H2S serves as such a low-EH
electron donor. The H2S is oxidized to S0 and
mostly further to sulfate. Some purple bacteria
are able to use Fe2+ as an electron donor to
reduce CO2. Their existence had been suggested
many years ago, but they were discovered and
isolated only recently (Widdel et al. 1993;
Ehrenreich and Widdel 1994). This group is
geologically interesting, since direct photo-
trophic Fe(II) oxidation with CO2 opens the theo-
retical possibility for iron oxidation in the
absence of O2 some 2.0-2.5 billion years ago, at
the time when the great deposits of banded iron
formations were formed on Earth.

Some of the purple and green bacteria are able
to grow photoheterotrophically, which may under
some environmental conditions be advantageous
as they cover their energy requirements from light
but can assimilate organic substrates instead of
spending most of the light energy on the
assimilation of CO2. The organisms may either take
up or excrete CO2 in order to balance the redox
state of their substrate with that of their biomass.

5.4.6 Chemolithotrophs

The chemolithotrophs comprise a large and
diverse group of exclusively prokaryotic orga-
nisms, which play important roles for mineral
cycling in marine sediments (Table 5.4). They
conserve energy from the oxidation of a range of

5.4 Energy Metabolism of Prokaryotes
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inorganic compounds. Many are autotrophic and
assimilate CO2 via the Calvin cycle similar to the
plants. Some are heterotrophic and assimilate
organic carbon, whereas some can alter between
these carbon sources and are termed mixotrophs.
Many respire with O2, while others are anaerobic
and use nitrate, sulfate, CO2 or metal oxides as
electron acceptors.

It is important to note that the autotrophic
chemolithotrophs have a rather low growth yield
(amount of biomass produced per mol of substrate
consumed). For example, the sulfur bacteria use
most of the electrons and energy from sulfide
oxidation to generate ATP. They need this

transient energy storage for CO2 assimilation via
the Calvin cycle (reductive pentose phosphate
cycle) which energetically is a rather inefficient
pathway in spite of its widespread ocurrence
among autotrophic organisms. Only some 10-20%
of the electrons derived from H2S oxidation flow
into CO2 and are used for autotrophic growth
(Kelly 1982). As a consequence, it has a limited
significance for the overall organic carbon budget
of marine sediments whether sulfide is oxidized
autocatalytically without bacterial involvement or
biologically with a resulting formation of new
bacterial biomass (Jørgensen and Nelson 2004). In
spite of this low growth yield, filamentous sulfur

Table 5.4 Main types of energy metabolism with examples of representative organisms.

Metabolism   Energy source   Carbon source   Electron donor Organisms

Photoautotroph   CO2   H2O Green plants, algae, cyanobacteria

  H2S, S0, Fe2+ Purple and green sulfur bact. (Chromatium,

  Light Chlorobium ), Cyanobacteria

Photoheterotroph   Org. C ± CO2 Purple and green non-sulfur bact.
(Rhodospirillum, Chloroflexus)

Aerobic:
  H2S, S0, S2O3

2-, FeS2 Colorless sulfur bact. (Thiobacillus,Beggiatoa)

  NH4
+, NO2

- Nitrifying bact. (Thiobacillus, Nitrobacter )

  H2 Hydrogen bact. (Hydrogenomonas )

  Fe2+, Mn2+ Iron bact. (Ferrobacillus, Shewanella )
 Chemolitho-   CO2

Chemo-  autotroph Anaerobic:
lithotroph   Oxidation of   H2 + SO4

2- Some sulfate reducing bact. ( Desulfovibrio spp. )

  inorganic   H2S/S0/S2O3
2- + NO3

- Denitrifying sulfur bact. ( Thiobac. denitrificans )

Nitrate reducing sulfur bacteria (Thiomargarita)
  compounds   H2 + CO2 → CH4 Methanogenic archaea

  H2 + CO2 → acetate Acetogenic bact.

 Mixotroph   CO2 or Org. C   H2S, S0, S2O3
2- Colorless sulfur bact.

(some Thiobacillus )

 Chemolitho-   Org. C   H2S, S0, S2O3
2- Colorless sulfur bact.

 heterotroph (some Thiobacillus, Beggiatoa)
  H2 Some sulfate reducing bact.

Aerobic:
Animals, fungi, many bacteria

  Oxidation of   Org. C Anaerobic:
Heterotroph   organic   (max. 30% CO2)   Org. C Denitrifying bacteria
(=chemoorganotroph)   compounds Mn- or Fe-reducing bacteria

Sulfate reducing bacteria
Fermenting bacteria

  Org. C1   CH4 + O2 Methane oxidizing bacteria
  (30-90% CO2)   CH4 + SO4

2- Methane oxidizing archaea
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bacteria such as Beggiatoa or Thioploca may
often form mats of large biomass at the sediment
surface and thereby influence the whole com-
munity of benthic organisms as well as the
chemistry of the sediment (Fossing et al. 1995).

Among the aerobic chemolithotrophs, colorless
sulfur bacteria may oxidize H2S, S0, S2O3

2- or FeS2 to
sulfate. Many H2S oxidizers, such as Beggiatoa,
accumulate S0 in the cells and are conspicuous due
to the highly light-refractive S0-globules which give
Beggiatoa mats a bright white appearence. Nitri-
fying bacteria consist of two groups, those which
oxidize NH4

+ to NO2
- and those which oxidize NO2

- to
NO3

-. The hydrogen oxidizing ‘Knallgas-bacteria’
mentioned before (Eq. 5.14) oxidize H2 to water. They
have a higher efficiency of ATP formation than other
chemolithotrophs because their electron donor, H2,
is highly reducing which provides a large energy
yield when feeding electrons into the respiratory
chain (see below). A variety of iron and manganese
oxidizing bacteria play an important role for metal
cycling in the suboxic zone, but this group of
organisms is still very incompletely known. Much
research has been done on the important acidophilic
forms, e.g. Thiobacillus ferrooxidans, associated
with acid mine drainage, due to their significance
and because it is possible to grow these in a
chemically stable medium without excessive pre-
cipitation of iron oxides.

The anaerobic chemolithotrophs use alter-
native electron acceptors such as nitrate, sulfate
or CO2 for the oxidation of their electron donor.
Thus, several sulfur bacteria can respire with
nitrate (denitrifiers) and thereby oxidize reduced
sulfur species such as H2S, S0 or S2O3

2- to sulfate.
Also the above mentioned iron oxidizing nitrate
reducing bacteria belong in this group. Many
sulfate reducing bacteria can use H2 as electron
donor and thus live as anaerobic chemolitho-
trophs. Two very important groups of organisms
are the methanogens and the acetogens. The
former, which are archaea and not bacteria, form
methane from CO2 and H2:

CO2 + 4H2 → CH4 + H2O (5.21)

while the latter form acetate:

2CO2 + 4H2 → CH3COO- + H+ (5.22)

In marine sediments below the sulfate zone,
methanogenesis is the predominant terminal
pathway of organic carbon degradation. Methane
may also be formed from acetate or from organic
C1-compounds such as methanol or methylamines:

CH3COO- + H+ → CH4 + CO2 (5.23)

Fig. 5.10 Main pathways of catabolic metabolism in respiring and fermenting heterotrophic organisms (see text).

5.4 Energy Metabolism of Prokaryotes
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5.4.7 Respiration and Fermentation

The best known type of energy metabolism in the
seabed is the aerobic respiration by heterotrophic
organisms such as animals and many bacteria.
Heterotrophic bacteria take up small organic
molecules such as glucose, break them down into
smaller units, and ultimately oxidize them to CO2
with oxygen. The first pathway inside the cell,
called glycolysis, converts glucose to pyruvate
and conserves only a small amount of potential
energy in ATP (Fig. 5.10). Only few electrons are
transferred to NAD+ to form reduced NADH.
Through the complex cyclic pathway called the
tricarboxylic acid cycle (TCA cycle), the rest of
the available electrons of the organic substrate is
transferred, again mostly to form NADH, and CO2
is released. The electron carrier, NADH, is
recycled by transferring its electrons via a
membrane-bound electron transport chain to the
terminal electron acceptor, O2, which is thereby
reduced to H2O. Through the electron transport
chain, the proton-motive force across the cell
membrane is maintained and most of the energy
carrier, ATP, is generated. The energy yield of
aerobic respiration is large, and up to 38 mol of
ATP may be formed per mol of glucose oxidized.
This corresponds to a 43% efficiency of energy
utilization of the organic substrate, the rest being
lost as entropy (heat). By the transfer of electrons
from the electron carrier, NADH, to the terminal
electron acceptor, O2, the reduced form of the
carrier, NAD+, is regenerated and the electron flow
can proceed in a cyclic manner.

Many heterotrophic prokaryotes are anaerobic
and have the ability to use terminal electron
acceptors other than O2 for the oxidation of their
organic substrates (Fig. 5.10). The denitrifying
bacteria respire with NO3

- which they reduce to N2
and release into the large atmospheric nitrogen
pool. The sulfate reducing bacteria can use a
range of organic molecules as substrates and
oxidize these with the concomitant reduction of
SO4

2- to H2S. Some bacteria can use manga-
nese(III, IV) or iron(III) oxides as electron
acceptors in their heterotrophic metabolism and
reduce these to Mn2+ or Fe2+.

Many bacteria do not possess a complete
TCA-cycle and electron transport chain and are
thus not able to use an external electron acceptor
as terminal oxidant. This prevents the formation of
large amounts of ATP via the electron transport
chain and thus leads to a low energy yield of the

metabolism. The organisms may still form a small
amount of ATP by so-called substrate level
phosphorylation through the glycolysis, and this
is sufficient to enable growth of these fermen-
tative organisms. The cells must, however, still be
able to recycle the reduced electron carrier,
NADH, in order to continue the glycolytic
pathway. In principle, they do this by transferring
the electrons from NADH to an intermediate such
as pyruvate (CH3COCOO–). An example of a
fermentation reaction is the formation of lactate
(CH3CHOHCOO–) by lactic acid bacteria (brackets
around the pyruvate indicate that this is an
intermediate and not an external substrate being
assimilated and transformed):

[CH3COCOO-] + NADH + H+ →
            CH3CHOHCOO- + NAD+ (5.24)

It is seen that fermentation does not require an
external electron acceptor and there is no net
oxidation of the organic substrate, glucose. There
is rather a reallocation of electrons and hydrogen
atoms within the cleaved molecule, whereby a
small amount of energy is released. Fermentations
often involve a cleavage of the C3 compound to a
C2 compound plus CO2. The pyruvate is then
coupled to coenzyme-A and cleaved in the form of
acetyl-CoA and energy is subsequently conser-
ved by the release of acetate (CH3COO–):

[CH3COCOO-] → CH3COO- + CO2 + H2 (5.25)

The H2 is formed by a transfer of electrons from
pyruvate via the enzyme ferredoxin to NAD+:

NADH + H+ → NAD+ + H2 (5.26)

The degradation of organic matter via fermen-
tative pathways to small organic molecules such
as lactate, butyrate, propionate, acetate, formate,
H2 and CO2 is very important in marine sediments,
since these compounds are the main substrates
for sulfate reduction and partly for methane
formation.

A form of inorganic fermentation of sulfur
compounds was discovered in recent years in
several sulfate reducers and other anaerobic
bacteria (Bak and Cypionka 1987). These
organisms may carry out a disproportionation of
S0, S2O3

2- or SO3
2- by which H2S and SO4

2- are
formed simultaneously (Eqs. 5.4 and 5.5).
Disproportionation reactions have turned out to
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play an important role in the sulfur cycle of marine
sediments and for the isotope geochemistry of
sulfur (Jørgensen 1990; Thamdrup et al. 1993;
Canfield and Teske 1996).

In comparison to all other heterotrophs, the
microorganisms oxidizing methane and other C1
compounds such as methanol, have a unique
metabolic pathway which involves oxygenase
enzymes and thus requires O2. Only aerobic
methane-oxidizing bacteria have been isolated and
studied in laboratory culture, yet methane
oxidation in marine sediments is known to take
place mostly anaerobically at the transition to the
sulfate zone. Microbial consortia that oxidize
methane with sulfate have in particular been
studied at methane seeps on the sea floor and the
communities can now also be grown in the
laboratory (Boetius et al. 2000; Orphan et al. 2001;
Nauhaus et al. 2002) Anaerobic methane oxidation
is catalyzed by archaea that use a key enzyme
related to the coenzyme-M reductase of
methanogens, to attack the methane molecule
(Krüger et al. 2003; see Sect. 5.1). The best
studied of these ANME (ANaerobic MEthane

oxidizers) archaea depend on a symbiosis with
sulfate reducing bacteria for a complete methane
oxidation to CO2. It is an interesting question
whether some of the ANME archaea can also
reduce sulfate and thus carry out the entire
process within a single cell.

Although the different groups of prokaryotes
may be catagorized in the scheme of Table 5.4, it
should be noted that they are often very diverse
and flexible and may thus fit into different
categories according to their immediate environ-
mental conditions and mode of life. A good
example are the sulfate reducing bacteria which are
typically obligate anaerobes specialized on the
oxidation of a limited range of small organic mole-
cules with sulfate (Postgate 1984; Widdel 1988).
This group has, however, a great diversity in the
types of sulfur metabolism, as listed in Table 5.5
(Bak and Cypionka 1987; Dannenberg et al. 1992;
Krekeler and Cypionka 1995). Different sulfate
reducing bacteria may, alternatively to SO4

2-, use
SO3

2-, S2O3
2- or S0 as electron acceptors or may

disproportionate these in the absence of an
appropriate electron donor such as H2. They may
even respire with oxygen or nitrate and may oxidize
reduced sulfur compounds with oxygen. There is
also evidence from marine sediments and pure
cultures that sulfate reducing bacteria may reduce
oxidized iron minerals (Coleman et al. 1993) and are
even able to grow with ferric hydroxide as electron
acceptor (Knoblauch et al. 1999; cf. Sect. 7.4.2.2):

8Fe(OH)3 + CH3COO- →
    8Fe2+ + 2HCO3

- + 5H2O + 15OH- (5.27)

5.5 Pathways of Organic Matter
Degradation

Organic material is deposited on the sea floor
principally as aggregates which sink down
through the water column as a continuous particle
rain (Chap. 4). This particulate organic flux is
related to the primary productivity of the over-
lying plankton community and to the water depth
through which the detritus sinks while being
gradually decomposed. As a mean value, some 25-
50% of the primary productivity reaches the sea
floor in coastal seas whereas the fraction is only
about 1% in the deep sea (Suess 1980; cf. Fig.
12.1). Within the sediment, most organic material
remains associated with the particles or is sorbed

Table 5.5 Diversity of sulfur metabolism among the
sulfate reducing bacteria. The changes in free energy, ∆G0,
have been calculated for standard conditions. The data
show that the disproportionation of elemental sulfur is an
endergonic process under standard conditions and therefore
requires an efficient removal of the formed HS– to pull the
reaction and make it exergonic. After Cypionka (1994).

5.5 Pathways of Organic Matter Degradation

Pathway  and stoichiometry ∆G0

(kJ mol-1)

Reduction of  sulfur compounds:

SO4
2- + 4H2 + H+ → HS- + 4H2O -155

SO3
2- + 3H2 + H+ → HS- + 3H2O -175

S2O3
2- + 4H2 → 2HS- + 3H2O -179

S0 + H2 → HS- + H+ -30

Incomplete sulfate reduction:

SO4
2- + 2H2 + H+ → S2O3

2- + 5H2O -65

Disproportionation:

S2O3
2- + H2O → SO4

2- + HS- + H+ -25
4SO3

2- + H+ → 3SO4
2- + HS- -236

4S0 + 4H2O → SO4
2- + 3HS- + 5H+ +33*

Oxidation of sulfur compounds:

HS- + 2O2 → SO4
2- + H+ -794

HS- + NO3
- + H+ + H2O → SO4

2- + NH4
+ -445

S2O3
2- + 2O2 + H2O → 2SO4

2- + 2H+ -976
SO3

2-+ 1/2O2 → SO4
2- -257



5 Bacteria and Marine Biogeochemistry

190

to inorganic sediment grains. Freshly arrived
material often forms a thin detritus layer at the
sediment-water interface, in particular after the
sedimentation of a phytoplankton bloom. This
detritus is a site of high microbial activity and
rapid organic matter degradation, even in the deep
sea where the bacterial metabolism is otherwise
strongly limited by the low organic influx (Lochte
and Turley 1988). Due to the feeding by benthic
invertebrates and to the mixing of sediment by
their burrowing activity (bioturbation) the deposi-
ted organic particles are gradually buried into the
sediment and become an integral part of the
sedimentary organic matter.

5.5.1 Depolymerization of
Macromolecules

The organic detritus is a composite of macro-
molecular compounds such as structural carbohy-
drates, proteins, nucleic acids and lipid complexes.
Prokaryotic organisms are unable to take up
particles or even larger organic molecules and are
restricted to a molecular size less than ca 600
daltons (Weiss et al. 1991). A simple organic
molecule such as sucrose has a molecular size of
342 daltons. Thus, although some bacteria are
able to degrade and metabolize fibers of cellulose,
lignin, chitin or other structural polymers, they
must first degrade the polymers before they can
assimilate the monomeric products (Fig. 5.11).
This depolymerization is caused by exoenzymes
produced by the bacteria and either released
freely into their environment or associated with
the outer membrane or cell wall. The latter requires
a direct contact between the bacterial cells and the
particulate substrate and many sediment bacteria
are indeed associated with solid surfaces in the
sediment. The excretion of enzymes is a loss of
carbon and nitrogen and thus an energy invest-
ment of the individual bacterial cells, but these
have strategies of optimizing the return of mono-
meric products (Vetter et al. 1998) and may
regulate the enzyme production according to the
presence of the polymeric target compound in
their environment (‘substrate induction’). Thus,
there is a positive correlation between the
availability of specific polymeric substances in the
sediment and the concentration of free enzymes
which may degrade them (Boetius and Damm
1998; Boetius and Lochte 1996).

The depolymerization of sedimentary organic
matter is generally the rate-limiting step in the

sequence of mineralization processes (Arnosti
2004). This may be concluded from the obser-
vation that the monomeric compounds and the
products of further bacterial degradation do not
accumulate in the sediment but are rapidly
assimilated and metabolized. Thus, the concen-
trations of individual free sugars, amino acids or
lipids in the pore water are generally low. Dissol-
ved organic matter (DOM) is a product of partial
degradation and may be released from the
sediment to the overlying water. It mainly consists
of complex dissolved polymers and oligomers
rather than of monomers. Dissolved organic
molecules may not only be taken up by bacteria
but may also be removed from the pore water by
adsorption onto sediment particles or by
condensation reactions, such as monosaccharides
and amino acids forming melanoidins (Sansone et
al. 1987; Hedges 1978). Organic matter that is not
mineralized may be adsorbed to mineral surfaces
and transformed to ‘geomacromolecules’ which
are highly resistant to enzymatic hydrolysis and
bacterial degradation and which become more
permanently buried with the sediment (Henrichs
1992; Keil et al. 1994). This buried fraction also
contains some of the original organic matter which
was deposited as refractory biomolecules such as
lignins, tannins, algaenan, cutan and suberan
(Tegelaar et al. 1989). The burial of organic matter
deep in the sediment shows a positive correlation
with the rate of deposition and constitutes in the
order of 5-20% of the initially deposited organic
matter in shelf sediments and 0.5-3% in deep-sea
sediments (Henrichs and Reeburgh 1987)

5.5.2 Aerobic and Anaerobic
Mineralization

The particulate detritus consumed by metazoans,
and the small organic molecules taken up by
microorganisms in the oxic zone, may be
mineralized completely to CO2 through aerobic
respiration within the individual organisms. The
aerobic food chain consists of organisms of very
diverse feeding biology and size, but of a
uniform type of energy metabolism, namely the
aerobic respiration. The oxic zone is, however,
generally only mm-to-cm thick in finegrained
shelf sediments as shown by measurements with
O2 microsensors (Chap. 3). In slope and deep-sea
sediments the oxic zone expands to reach depths
of many cm or dm (Reimers 1987; Wenzhöfer and
Glud 2002).
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continue to be discovered. As an example, sulfate
reducing bacteria able to oxidize aromatic and
aliphatic hydrocarbons have now been isolated,
which shows that anaerobic prokaryotes are able
to degrade important components of crude oil in
the absence of oxygen (Rueter et al. 1994; Rabus
et al. 1996).

The methane forming (methanogenic) archaea
can use only a narrow spectrum of substrates,
primarily H2 plus CO2 and acetate (Eqs. 5.21 and
5.23). Within the sulfate zone, which generally
penetrates several meters down into the seabed,
the sulfate reducing bacteria compete success-
fully with the methanogens for these few
substrates and methanogenesis is, therefore, of
little significance in the sulfate zone. Only a few
‘non-competitive’ substrates such as methyl-
amines are used only by the methanogens and not
by the sulfate reducers (Oremland and Polcin
1982). Below the sulfate zone, however, there are
no available electron acceptors left other than
CO2, and methane accumulates here as the main
terminal product of organic matter degradation.

5.5.3 Depth Zonation of Oxidants

The general depth sequence of oxidants used in
the mineralization of organic matter is
O2 → NO3

- → Mn(IV) → Fe(III) → SO4
2- → CO2.

This sequence corresponds to a gradual decrease
in redox potential of the oxidant (Fig. 5.9) and thus
to a decrease in the free energy available by
respiration with the different electron acceptors
(Table 5.2; cf. Sect. 3.2.5). The ∆G0 of oxic

Much of the organic mineralization thus takes
place within the anoxic sediment. This anoxic
world is inhabited primarily by prokaryotic
organisms that have a high diversity of metabolic
types (Fig. 5.11). There are denitrifiers and metal
oxide reducers in the suboxic zone that can utilize
a wide range of monomeric organic substances
and can respire these to CO2. With depth into the
sediment, however, the energy yield of bacterial
metabolism becomes gradually smaller and the
organisms become narrower in the spectrum of
substrates which they can use. While denitrifiers
are still very versatile with respect to usable
substrates, the sulfate reducers are mostly unable
to respire, for example sugars or amino acids.
Instead, these monomeric compounds are taken
up by fermenting bacteria and converted into a
narrower spectrum of fermentation products that
include primarily volatile fatty acids such as
formate, acetate, propionate and butyrate, as well
as H2, lactate, some alcohols and CO2. Through a
second fermentation step the products may be
focused even further towards the key products:
acetate, H2 and CO2. The sulfate reducers depend
on these products of fermentation which they can
respire to CO2. Several well-known sulfate
reducers such as Desulfovibrio spp. can only
carry out an incomplete oxidation of substrates
such as lactate, and they excrete acetate as a
product. Other sulfate reducers have specialized
on acetate and catalyze the complete oxidation to
CO2. The degradative capacity of anaerobic
bacteria seems, however, to be broader than
previously expected and new physiological types

Table 5.6 Annual budget for the mineralization of organic carbon and the consumption of oxidants in a Danish
coastal sediment, Aarhus Bay, at 15 m water depth. The basic reaction and the change in oxidation step are shown for
the elements involved. The rates of processes were determined for one m2 of sediment and were all recalculated to
carbon equivalents. From data compiled in Jørgensen (1996).

 Measured  Estimated
 Reaction ∆ Oxidation steps  rate  carbon equivalents

                mol m-2 yr-1

 [CH2O] → CO2  C: 0 → +4 = 4 9,9 9,9
 O2 → H2O  O: 0 → -2 = 2 . 2 9,2 9,2
 NO3

- → N2  N: +5 → 0 = 5 0,15 0,19

 Mn(IV) → Mn2+  Mn:  +4 → +2 = 2 0,8 0,4
 Fe(III) → Fe2+  Fe: +3 → +2 = 1 1,6 0,4
 SO4

2- → HS-  S: +6 → -2 = 8 1,7 3,4
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respiration is the highest, –479 kJ mol-1, and that
of denitrification is nearly as high. Table 5.2
shows that respiration of one mol of organic
carbon with sulfate yields only a fraction of the
energy of respiration with oxygen. The remaining
potential chemical energy is not lost but is mostly
bound in the product, H2S. This energy may
become available to other microorganisms, such
as chemolithotrophic sulfur bacteria, when the
sulfide is transported back up towards the
sediment surface and comes into contact with
potential oxidants.

The quantitative importance of the different
oxidants for mineralization of organic carbon has
been studied intensely over the last few decades,
both by diagenetic modeling and by incubation
experiments. It is generally found that oxygen and
sulfate play the major role in shelf sediments,
where 25-50% of the organic carbon may be
mineralized anaerobically by sulfate reducing
bacteria (Jørgensen 1982). With increasing water
depth and decreasing organic influx down the
continental slope and into the deep sea, the depth
of oxygen penetration increases and sulfate
reduction gradually looses significance. Nitrate
seems to play a minor role as an oxidant of organic
matter. Manganese oxides occur in shelf
sediments mostly in lower concentrations than
iron oxides and, expectedly, the Mn(IV) reduction
rates should be lower than those of Fe(III)
reduction. Manganese, however, is recycled
nearer to the sediment surface and relatively faster
than iron. These solid-phase oxidants are both
dependent on bioturbation as the mechanism to
bring them from the sediment surface down to
their zone of reaction. The shorter this distance,
the faster can the metal oxide be recycled.

Table 5.6 shows an example of process rates in
a coastal marine sediment. In this comparison, it is
important to keep in mind that the different
oxidants are not equivalent in their oxidation
capacity. When for example the iron in Fe(III) is
reduced, the product is Fe2+ and the iron atoms
have been reduced only one oxidation step from
+3 to +2. Sulfur atoms in sulfate, in contrast, are
reduced eight oxidation steps from +6 in SO4

2- to –
2 in H2S. One mol of sulfate, therefore, has 8-fold
higher oxidation capacity than one mol of iron
oxide. In order to compare the different oxidants
and their role for organic carbon oxidation, their
reduction rates were recalculated to carbon
equivalents on the basis of their change in
oxidation step. It is then clear that oxygen and

sulfate were the predominant oxidants in this
sediment, sulfate oxidizing about 44% of the
organic carbon in the sediment. Of the H2S formed,
15% was buried as pyrite, while the rest was
reoxidized and could potentially consume one
third of the total oxygen uptake. This redox
balance is typical for coastal sediments where up
to half of the oxygen taken up by the sediment is
used for the direct or indirect reoxidation of
sulfide and reduced manganese and iron
(Jørgensen and Nelson 2004).

Manganese and iron behave differently with
respect to their reactivity towards sulfide. Iron
binds strongly to sulfide as FeS or FeS2, whereas
manganese does not. Furthermore, the reduced
iron is more reactive than reduced manganese
when it reaches the oxic zone, and Fe2+ generally
does not diffuse out of the sediment, although it
may escape by advective pore water flow (Huettel
et al. 1998). The Mn2+, in contrast, easily recycles
via the overlying water column and can thereby be
transported from the shelf out into deeper water.
This mechanism leads to the accumulation of
manganese oxides in some continental slope
sediments (see Chap. 11). The important role of
manganese and iron in slope sediments is evident
from Figure 5.12. Manganese constituted about
5% of the total dry weight of this sediment. Below
the manganese zone, iron oxides and then sulfate
took over the main role as oxidants. In the upper
few cm of the sediment, manganese oxide was the
dominant oxidant below the O2 zone (Canfield
1993).

The consecutive reduction of oxidants with
depth in the marine sediment and the complex
reoxidation of their products constitute the ‘redox
cascade’ (Fig. 5.11). An important function of this
sequence of reactions is the transport of electrons
from organic carbon via inorganic species back to
oxygen. The potential energy transferred from the
organic carbon to the inorganic products is
thereby released and may support a variety of
lithotrophic microorganisms. These may make a
living from the oxidation of sulfide with Fe(III),
Mn(IV), NO3

– or O2. Others may be involved in the
oxidation of reduced iron with Mn(IV), NO3

– or O2
etc. The organisms responsible for these reactions
are only partly known and new types continue to
be isolated.

The depth sequence of electron acceptors in
marine sediments, from oxygen to sulfate, is
accompanied by a decrease in the degradability of
the organic material remaining at that depth. This

5.5 Pathways of Organic Matter Degradation
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decrease can be formally considered to be the
result of a number of different organic carbon
pools, each with its own degradation
characteristics and each being degraded
exponentially with time and depth (Westrich and
Berner 1984). The consecutive depletion of these
pools leads to a steep decrease in organic carbon
reactivity, which follows the sum of several
exponential decays, and which can be
demonstrated from the depth distribution of
oxidant consumption rates. Thus, the O2 con-
sumption rate per volume in the oxic zone of a
coastal sediment was found to vary between 3,000
and 30,000 nmol O2 cm-3 d-1 as the oxygen
penetration depth varied between 5 mm in winter
and 1 mm in summer (Gundersen et al. 1995). Some
five cm deeper into the sediment, where sulfate
reduction predominated and reached maximal
activity, the rates of carbon mineralization had
decreased 100-fold to 25-150 nmol cm-3 d-1 between
winter and summer (Thamdrup et al. 1994). A few
meters deep into the sediment, where methano-
genesis predominated below the sulfate zone,
carbon mineralization rates were again about a
100-fold lower. Although the rates down there may
seem insignificant, the slow organic matter
decomposition to methane proceeds to great
depth in the sediment and is therefore important
on an areal basis. This methane diffuses back up
towards the sulfate zone where it is oxidized to
CO2 at the expense of sulfate (Chap. 8). It is
equivalent to 10% or more of the total sulfate
reduction in coastal sediments, depending on the
depth of sulfate penetration (Iversen and
Jørgensen 1985; Niewöhner et al. 1998; Chap. 8).

Whereas Fig. 5.12 illustrates highly active
processes in shelf sediment, deep sea sediments
have orders of magnitude lower process rates and
very different biogeochemistry. In large provinces
of the ocean floor the organic flux is so low that
sulfate does not become depleted throughout the
entire sediment column and iron and manganese
reduction may be the predominant anaerobic
mineralization processes. Fig. 5.13 shows an
example from the eastern tropical Pacific at 3,300 m
water depth where Miocene to Holocene
carbonate and ciliceous oozes were cored during
the Ocean Drilling Program Leg 201 (D’Hondt,
Jørgensen, Miller et al. 2003). The sediment
deposit is here 420 m thick and the porewater
profiles reach down to the basaltic ocean crust
with an age of 16 million years. Prokaryotic cells
were found throughout the sediment, from the
surface to the bottom, with a large diversity of
organisms, mostly of unknown phylogenetic
types with no representatives among current
laboratory cultures (Parkes et al. 2005). The dis-
tributions of dissolved inorganic carbon (DIC)
and sulfate are nearly mirror images reflecting the
oxidation of organic carbon to CO2 by sulfate
reduction, whereby sulfate is consumed and DIC
is produced:

2[CH2O] + SO4
2- → 2HCO3

- + H2S        (5.28)

At the bottom of the sediment column, the DIC
and sulfate concentrations surprisingly return to
near seawater values. This is due to a very slow
flow of sea water through the fractured crust that
exchanges solutes with the overlying sediment by

Fig. 5.12 Depth zonation of reduction rates for the oxidants, Mn(IV), Fe(III) and SO4
2– in a marine sediment from

Skagerrak (Denmark) at 700 m water depth. This sediment was particularly rich in manganese oxide. Data from
Canfield (1993).
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molecular diffusion. This seawater even trans-
ports nitrate and oxygen and enables the exis-
tence of aerobic microorganisms hundreds of
meters beneath the ocean floor (D’Hondt et al.
2004). The distribution of Mn2+ shows that
manganese reduction takes place in the upper 100
to 150 m of the sediment column and then again
below 250 m. The lower zone of manganese
reduction is due to an excess of manganese oxide
buried during a low-productivity period in the
Miocene before 7 Ma. This example shows that
microbial processes taking place in the deep sub-
surface sediments are even today affected by the
past oceanographic history millions of years ago.

5.6 Methods in Biogeochemistry

A diversity of approaches, of which only a few
examples can be discussed here, is used in marine
biogeochemistry (Fig. 5.2). Among the important
goals is to quantify the rate at which biological and
chemical processes take place in different depth
zones of the sediment. These are often fast
processes for which the reactants may have
turnover times in the order of days or hours or
even minutes. Data on dissolved species in the
pore water and on solid-phase geochemistry can be
used in diagenetic models to calculate such rates,
as discussed in Chapter 3 (e.g. Schulz et al. 1994).
The dynamic process is then derived from the

chemical gradients in the pore water and from
knowledge about the diffusion coefficient of the
chemical species. Such diffusion-diagenesis models
work best for either very steep gradients, e.g. of
oxygen for which diffusion is rapid, or very deep
gradients, e.g. of sulfate which penetrates deep
below the zone affected by biological transport of
pore water (bioirrigation) or of solid-phase sedi-
ment (bioturbation). For intermediate depth scales,
e.g. in the suboxic zone, the burrowing fauna
influences the transport processes so strongly that
advection and bioirrigation tend to dominate over
molecular diffusion. If the transport factor is
enhanced to an unknown degree, a rate calculation
based on molecular diffusion would be correspon-
dingly wrong. In such cases, it may be more
realistic to model the solid phase combined with
estimates of the rate of burial and of mixing by the
infauna (bioturbation). Burial and mixing rates are
most often estimated from the vertical distribution
and decay of natural radionuclides, such as 210Pb,
in the sediment.

Another problem is that many compounds are
not only consumed but also recycled in a chemical
zone. Thus, sulfate in the upper sediment layers is
both consumed by sulfate reduction and produced
by sulfide oxidation so that the net sulfate removal
may be insignificant relative to the total reduction
rate. The net removal of sulfate in the whole
sediment column is determined by the amount of
sulfide trapped in pyrite and is often only 10% of
the gross sulfate reduction.

5.6 Methods in Biogeochemistry

Fig. 5.13 Porewater profiles of dissolved inorganic carbon (DIC), sulfate and manganese (Mn2+) in the pore water
measured during ODP Leg 201 at Site 1226 in the eastern tropical Pacific Ocean. Data from D’Hondt, Jørgensen,
Miller  et al. (2003).
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5.6.1 Incubation Experiments

In addition to modeling, process rates can be
measured experimentally in sediment samples by
following the concentration changes of the
chemical species over time, either in the pore
water or in the solid phase. By such incubation
experiments it is critical that the physico-chemical
conditions and the biology of the sediment remain
close to the natural situation. Since gradual
changes with time are difficult to avoid, the
duration of the experiment should preferably be
restricted to several hours up to a day. This is
generally too short a time interval for significant
changes in the populations of anaerobic bacteria.
A careful way of containing the sediment samples
is to distribute the sediment from different depths
into gas-tight plastic bags under an atmosphere of
nitrogen and keep these at the natural tempe-
rature. The sediment can then be mixed without
dilution or contact with a gas phase, and sub-
samples can be taken over time for the analyses of
chemical concentrations. Such a technique has
been used to measure the rates of organic matter
mineralization from the evolution of CO2 or NH4

+

or to measure the reduction rates of manganese
and iron oxides (Fig. 5.12, Canfield et al. 1993;
Hansen et al. 2000).

5.6.2 Radioactive Tracers

Radioactive tracers are used to identify and
measure microbial or chemical processes in marine
sediments. Radiotracers are mostly applied when
chemical analysis alone is too insensitive or if the
pathway of processes is more complex or cyclic.
Thus, if a process is very slow relative to the pool

sizes of the reactants or products, a long-term
experiment of many days or months would be
required to detect a chemical change. Since this
would lead to changing sediment conditions and
thus to non-natural process rates, higher sensitivi-
ty is required. By the use of a radiotracer, hundred-
or thousand-fold shorter experiment durations may
often be achieved. An example is the measurement
of sulfate reduction rates (see Sect. 5.6.3). Sulfate
can be analyzed in pore water samples with a
precision of about ±2%, and a reduction of 5-10%
or more is, therefore, required to determine its rate
with a reasonable confidence. If radioactive, 35S-
labelled sulfate is used to trace the process, it is
possible to detect the reduction of only 1/100,000
of the SO4

2- by analyzing the radioactivity of the
sulfide formed (Kallmeyer et al. 2004). The
sensitivity by using radiotracer is thus improved
>1000-fold over the chemical analysis.

The radioisotopes most often used in
biogeochemistry are shown in Table 5.7, together
with examples of their application. 3H is a weak ß-
emitter, whereas 32P is a hard ß-emitter. 14C and 35S
have similar intermediate energies. The 14C is most
widely used, either to study the synthesis of new
organic biomass through photo- or chemosynthe-
sis (14CO2 assimilation), or to study the transfor-
mations and mineralization of organic material such
as plankton detritus or specific compounds such as
glucose, lactate, acetate and other organic mole-
cules. The 3H-labelled substrates have in particular
been used in connection with autoradiography,
where the incorporation of label is quantified and
mapped at high spatial resolution by radioactive
exposure of a photographic film emulsion or a β-
imager. By this technique it may be possible to
demonstrate which microorganisms are actively

Table 5.7   Radio-isotopes most often used as tracers in biogeochemistry. The measurement of radioactivity is based on
the emission of β-radiation (high-energy electrons) or γ-radiation (electromagnetic) with the specified maximum energy.

 Isotope Emission Half-life Examples of application
mode, Emax

 3H β, 29 keV 12 years Turnover of org. compounds, autoradiography
14C β, 156 keV 5730 years Turnover of org. compounds, CO2 assimilation

 32P β, 1709 keV 14 days Phosphate turnover & assimilation
 35S β, 167 keV 87 days Sulfate reduction
 55Fe γ , 6 keV 2.7 years Iron oxidation and reduction
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assimilating the labeled compound. Since phos-
phorus does not undergo redox processes in
sediments, 32P (or 33P) is mostly used to study the
dynamics and uptake of phosphate by micro-
organisms. 35S has been used widely to study
processes of the sulfur cycle in sediments, in
particular to measure sulfate reduction.

Although radiotracer techniques may offer
many advantages, they also have inherent prob-
lems. For example, applications of 35S to trace the
pathways of H2S oxidation have been flawed by
isotope exchange reactions between the inorganic
reduced sulfur species such as elemental sulfur,
polysulfides and iron sulfide (Fossing et al. 1992;
Fossing 1995). This isotope exchange means that
the sulfur atoms swap places between two
compounds without a concomitant net chemical
reaction between them. If a 35S atom in H2S changes
place with a 32S atom in S0, the resulting change in
radioactivity will appear as if 35S-labelled H2S were
oxidized to S0, although there may be no change in
the concentrations of H2S or S0. When the
distribution of 35S radiolabel is followed with time
the results can hardly be distinguished from a true
net process and may be incorrectly interpreted as
such. There is no similar isotopic exchange with
sulfate at normal environmental temperatures,
which would otherwise prevent its use for the
measurement of sulfate reduction rates.

The radioisotopes of iron or manganese, 55Fe,
59Fe and 54Mn, have had only limited application as

tracers in biogeochemical studies. Experiments with
55Fe (or 59Fe) as a tracer for Fe(III) reduction in
marine sediments showed problems of unspecific
binding and possibly isotope exchange (King 1983;
Roden and Lovley 1993), which has discouraged
other researchers from the use of this isotope. Simi-
lar problems complicate experiments with manganese
as a radiotracer. The iron isotope, 57Fe, has been
used in a completely different manner for the analy-
sis of iron speciation in marine sediments. The iso-
tope, 57Fe, is added to a sediment and is allowed to
equilibrate with the iron species. It can then be used
to analyze the oxidation state and the mineralogy of
iron by Mössbauer spectroscopy and thus to study
the oxidation and reduction of iron minerals.

It has been a serious draw-back in studies of
nitrogen transformations that a useful radioisotope
of nitrogen does not exist. The isotope, 13N, is
available only at accelerator facilities and has a
half-life of 5 min, which strongly limits its
applicability. Instead, the stable isotope, 15N, has
been used successfully as a tracer in studies of
nitrogen transformations in the marine environ-
ment. For example, the use of 15NO3

– by the ‘isotope
pairing’ technique has offered possibilities to study
the process of denitrification of 15NO3

– to N2
(Nielsen 1992). The 15NO3

– is added to the water
phase over the sediment and is allowed to diffuse
into the sediment and gradually equilibrate with
14NO3

– in the pore water. By analyzing the isotopic
composition of the formed N2, i.e. 14N14N, 14N15N

5.6 Methods in Biogeochemistry

Fig. 5.14 Principle of sulfate reduction measurement in sediment using 35SO4
2– as a tracer (see text).
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and 15N15N, it has been possible to calculate not
only the rate of denitrification, but even to
discriminate between denitrification from nitrate
diffusing down from the overlying seawater and
denitrification from nitrate formed by nitrification
within the sediment. The results have shown that
at the normal, low concentrations of nitrate in
seawater, <10-20 µM, the main source of nitrate for
denitrification is the internally formed nitrate
derived from nitrification.

5.6.3 Example: Sulfate Reduction

As an example of a radio-tracer method, the
measurement of sulfate reduction rates using
35SO4

2– according to Jørgensen (1978); Fossing
and Jørgensen (1989); Kallmeyer et al. (2004) is
described in brief (Fig. 5.14). The 35SO4

2– is
injected with a microsyringe (1) into whole,
intact sediment cores in quantities of a few
microliters which contain ca 100 kBq
(1 becquerel = 1 radioactive disintegration per
second; 37 kBq = 1 microcurie). After 4-8 hours
the core is sectioned (2), and the sediment
samples are fixed with zinc acetate. The zinc
binds the sulfide and prevents its oxidation and
it also kills the bacteria and prevents further
sulfate reduction. The reduced 35S is then
separated from the sediment by acidification (3),
and the released H2

35S is transferred in a stream
of N2 to a trap containing zinc acetate where
Zn35S precipitates. The radioactivities of the
Zn35S and of the remaining 35SO4

2– are then
analyzed by liquid scintillation counting (4). In
a sediment core the concentration gradient of
sulfate in the pore water is analyzed (5), and the
rates of sulfate reduction can then be calculated
according to the equation:

Sulfate reduction rate =

( )
t

24
SO

SHSO -2
4

35

35
2-2

4 ⋅⋅φ ·1.06 nmol SO4
2-cm-3day-1

(5.29)
where φ  is porosity, (SO4

2–) is sulfate concen-
tration in the pore water ( φ (SO4

2–) is then sulfate
concentration per volume sediment, H2

35S is
radioactivity of total reduced sulfur), 35SO4

2– is
radioactivity of added sulfate tracer, t is experi-
ment time in hours, and 1.06 is a correction factor
for the small dynamic isotope discrimination by
the bacteria against the heavier isotope. One nmol
(nanomol) is 10-9 mol. This formula is a good

approximation as long as only a small fraction of
the labeled sulfate is reduced during incubation, a
condition normally fulfilled in marine sediments.

Sulfate reduction rates in marine shelf sedi-
ments commonly lie in the range of 1-100 nmol SO4

2–

cm–3 day–1 (Jørgensen 1982). Since the sulfate con-
centration in the pore water is around 28 mM or
20 µmol cm–3, the turn-over time of the sulfate pool
is in the order of 1-50 years. A purely chemical
experiment would thus require a month to several
years of incubation. This clearly illustrates why a
radiotracer technique is required to measure the
rate within several hours. In sediment cores from
the open eastern equatorial Pacific obtained by
the Ocean Drilling Program it has been possible to
push the detectability of this radiotracer method
to its physical limit by measuring sulfate reduction
rates of <0.001 nmol cm-3 d-1 in 9 million year old
sediments at 300 m below the seafloor (Parkes et
al. 2005).

Similar principles as described here are used in
measurements of, e.g. the oxidation of 14C-labelled
methane or the formation of methane from 14C-
labelled CO2 or acetate. Often there are no
gaseous substrates or products, however, and it is
not possible to separate the radioisotopes as effi-
ciently as by the measurement of sulfate reduction
or methane formation and oxidation. This is the
case for radiotracer studies of intermediates in the
mineralization of organic matter in sediments, e.g.
of 14C-labelled sugars, amino acids, or volatile
fatty acids, studies which have been important for
the understanding of the pathways of organic
degradation (Fig. 5.11). These organic com-
pounds, however, occur at low concentrations and
have a fast turn-over of minutes to hours, so the
sensitivity is less important. More important is the
fact that these compounds are at a steady-state
between production and consumption, which
means that their concentration may not change
during incubation in spite of their fast turnover. A
simple chemical experiment would thus not be able
to detect their natural dynamics, but a radiotracer
experiment may.

5.6.4 Specific Inhibitors

This limitation of chemical experiments is often
overcome by the use of a specific inhibitor (Oremland
and Capone 1988). The principle of an inhibitor tech-
nique may be, a) to block a sequence of processes at
a certain step in order to observe the accumulation of
an intermediate compound, b) to inhibit a certain
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group of organisms in order to observe whether
the process is taken over by another group or may
proceed autocatalytically, c) to let the inhibitor
substitute the substrate in the process and
measure the transformation of the inhibitor with
higher sensitivity. Ideally, the inhibitor should be
specific for only the relevant target organisms or
metabolic reaction. In reality, most inhibitors have
side effects and it is necessary through appro-
priate control experiments to determine these and
to find the minimum inhibitor dose required to
obtain the required effect. Some examples are
given in Table 5.8.

BES (2-bromoethanesulfonic acid) is a
structural analogue of mercaptoethanesulfonic
acid, also known as coenzyme-M in methanogenic
bacteria, a coenzyme associated with the terminal
methylation reactions in methanogenesis. BES
inhibits this methylation and thus the formation of
methane. It belongs to the near-ideal inhibitors
because its effect is specific to the target group of
organisms. BES has been used to determine the
substrates for methane formation in aquatic
sediments and to show that some substrates such
as acetate and H2 are shared in competition
between the methanogens and the sulfate redu-
cers, whereas others such as methylamines are
‘non-competitive’ substrates which are used by
the methanogens alone (Oremland and Polcin
1982; Oremland et al. 1982).

Similarly, molybdate (MoO4
2–) together with

other group VI oxyanions are analogues of sulfate
and inhibit sulfate reduction competitively.

5.6 Methods in Biogeochemistry

Molybdate specifically interferes with the initial
‘activation’ of sulfate through reaction with ATP
and tends to deplete the ATP pool, thus leading to
cell death of sulfate reducing bacteria. Molybdate
has also been important for clearing up the
substrate interactions between methanogens and
sulfate reducers in sediments. Molybdate has
been used to demonstrate quantitatively which
substrates play a role for sulfate reduction in
marine sediments (Fig. 5.15). When molybdate is
added to sediment at a concentration similar to
that of seawater sulfate, 20 mM, sulfate reduction
stops. The organic substrates, which were utilized
by the sulfate reducers in the uninhibited
sediment and which were kept at a minimum
concentration as long as these bacteria were
active, then suddenly start to accumulate because
they are no longer consumed. Since the bacterial
processes leading to the formation of these
substrates are not inhibited, the substrates will
accumulate at a similar rate at which they were
used by the sulfate reducers before inhibition.
Such experiments have demonstrated that acetate,
propionate, butyrate, isobutyrate and H2 are
among the most important substrates for sulfate
reducing bacteria in marine sediments (Sørensen
et al. 1981; Christensen 1984).

Nitrapyrin (N-serve) was first introduced in
agriculture as a means to inhibit the conversion of
ammonium fertilizer to nitrate with subsequent
wash-out of the nitrate. The nitrapyrin blocks the
copper-containing cytochrome oxidase involved
in the initial enzymatic oxidation of ammonium to

Table 5.8   Some inhibitors commonly used in biogeochemistry and microbial ecology.

 Inhibitor Process Principle of function

 BES Methanogenesis Blocks CH4 formation (methyl-CoM reductase)
 MoO4

2- Sulfate reduction Blocks SO4
2- reduction (depletes ATP pool)

 Nitrapyrin Nitrification Blocks autotrophic NH4
+ oxidation

 Acetylene Denitrification Blocks N2O → N2 (also blocks nitrification)
 Acetylene N2-fixation C2H2 is reduced to C2H4 instead of N2 → NH4

+

 DCMU Photosynthesis Blocks electron flow between Photosystem II → I
 Cyanide Respiration Blocks respiratory enzymes

β-fluorolactate Lactate metabol. Blocks heterotrophic metabolism of lactate
 Chloramphenicol Growth Blocks prokaryotic protein synthesis
 Cycloheximide Growth Blocks eukaryotic protein synthesis
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hydroxylamine. The rate of ammonium accu-
mulation after nitrapyrin inhibition is thus a
measure of the nitrification rate before inhibition
(Henriksen 1980).

Acetylene (C2H2) has been used to study the
process of denitrification in which it blocks the
last step from N2O to N2 (Sørensen 1978;
Seitzinger et al. 1993). It causes an accumulation
of N2O which can be analyzed by a gas chroma-
tograph equipped with an electron capture
detector or by a N2O microelectrode (Revsbech et
al. 1988). The N2O accumulation rate is equal to
the denitrification rate before inhibition.
Acetylene is also used for studies of N2 fixation.
Acetylene has a triple bond analogous to N2
(HC≡CH vs. N≡N) and can substitute N2
competitively. Instead of reducing N

2
to NH4

+, the
key enzyme of nitrogen fixation, nitrogenase,
reduces acetylene to ethylene (H2C=CH2). The
formation rate of ethylene, which is easily
analyzed in the headspace by a gas chroma-
tograph with flame ionization detector, is thus a
measure of the nitrogen fixation rate.

Other inhibitors are applied in studies of
photosynthesis (DCMU) and respiration (cyanide)
or are used to distinguish activities of prokaryotic
(chloramphenicol) versus eukaryotic (cyclohexi-
mide) microorganisms (Table 5.8).

5.6.5 Other Methods

Information on the hydrolytic activity in marine
sediments has been obtained from the use of
model substrates labeled with fluorescent dyes
such as methylumbelliferone (MUF) or fluores-
cein. These substrates may be small dimeric
molecules, the hydrolytic cleavage of which
releases the fluorescence signal, which is then
indicative of the activity of specific enzymes
such as glucosidase, chitobiase, lipase, ami-
nopeptidase or esterase (Chrost 1991). Also
large fluorescently labeled polymers such as the
polysaccharides laminarin or pullulan have been
used in experiments to demonstrate the me-
chanism and kinetics of bacterial degradation
(Arnosti 1996).

Fig. 5.15 Inhibitor experiment for the demonstration of substrates used by sulfate reducing bacteria in a coastal marine
sediment. The concentrations of volatile fatty acids, hydrogen and methane are followed during a time-course experiment
over 8 hours. At 3.5 hours (arrow) molybdate was added and the substrates accumulate at a rate corresponding to their rate
of consumption before inhibition. The formation of methane shows the release of competition for the common
substrates for methanogenesis and sulfate reduction (H2 and acetate). Data from Sørensen et al. (1981).
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5.7 Problems

Problem 1

Following the last glaciation, the salinity of the
oceans decreased due to melting of the polar ice
caps. This decrease in chloride and sodium and
other major ions of sea water has led to a lowered
concentration in the pore water of the upper sea-
bed. By using the equation for diffusion distance
versus time (ca. 10,000 years), calculate how deep
this concentration decrease has diffused into the
seabed. Diffusion coefficients are given in Chapter
3. Make sure that similar units are being used.

Problem 2

Which of the following processes are energetically
feasible (exergonic)?

1) Fe(II) oxidation with SO4
2-

2) CH4 oxidation with NO3
-

3) Fe(II) oxidation with MnO2
4) H2S oxidation with SO4

2-

5) H2 oxidation with CO2

Problem 3

The filamentous sulfur bacteria, Thioploca, oxidize
sulfide with nitrate in their energy metabolism.
Alternatively, they can assimilate CO2 or acetate as
a carbon source. What kind(s) of “-troph” is
Thioploca? (use Table 5.3 and 5.4).

Problem 4

Bacteria in the open ocean tend to be smaller than
bacteria in nutrient-rich coastal ecosystems. What
could be the reason?

Problem 5

A dead phytoplankton cell sinks to the sea floor.
What must happen to it (burial, degradation) before

its organic carbon can be converted to methane by
autotrophic methanotrophs?

Problem 6

Methane is produced from acetate at extremely low
rates in deep sub-seafloor sediments. The process
can be measured experimentally using a radioactive
isotope, 14C-acetate. How can the experiment be
designed to obtain the highest sensitivity and
detect the low rate?

1) increase/decrease in sample size?
2) increase/decrease in amount of
    radioactivity?
3) increase/decrease in incubation time?
4) other?

References

Alperin, M.J. and Reeburgh, W.S., 1985. Inhibition
Experiments on Anaerobic Methane Oxidation.
Applied and Environmental Microbiology, 50: 940-
945.

Arnosti, C., 1996. A new method for measuring
polysaccharide hydrolysis rates in marine environ-
ments. Organic Geochemistry, 25: 105-115.

Arnosti, C., 2004. Speed bumps and barricades in the
carbon cycle: Substrate structural effects on carbon
cycling. Marine Chemistry, 92: 263-273.

Bak, F. and Cypionka, H., 1987. A novel type of energy
metabolism involving fermentation of inorganic
sulphur compounds. Nature, 326: 891-892.

Benz, M., Brune, A. and Schink, B., 1998. Anaerobic and
aerobic oxidation of ferrous iron and neutral pH by
chemoheterotrophic nitrate-reduction bacteria.
Archives of Microbiology, 169: 159-165.

Berelson, W.M., Hammond, D.E., Smith, K.L. Jr;
Jahnke, R.A., Devol, A.H., Hinge, K.R., Rowe, G.T.
and Sayles, F. (eds), 1987. In situ benthic flux
measurement devices: bottom lander technology.
MTS Journal, 21: 26-32.

Berg, P., Røy, H., Janssen, F., Meyer, V., Jørgensen,
B.B., Hüttel, M. and De Beer, D., 2003. Oxygen
uptake by aquatic sediments measured with a novel
non-invasive EDDY-correlation technique. Marine
Ecology Progress Series, 261: 75-83.

Berner, R.A., 1980. Early diagenesis: A theoretical
approach. Princton Univ. Press, Princton, NY, 241 pp.

Boetius, A. and Lochte, K., 1996. Effect of organic
enrichments on hydrolytic potentials and growth of
bacteria in deep-sea sediments. Marine Ecology
Progress Series, 140: 239-250.

Boetius, A. and Damm, E., 1998. Benthic oxygen
uptake, hydrolytic potentials and microbial biomass



5 Bacteria and Marine Biogeochemistry

202

at the Arctic continental slope. Deep-Sea Research
I, 45: 239-275.

Boetius, A., Ravenschlag, K., Schubert, C.J., Rickert, D.,
Widdel, F., Gieseke, A., Amann, R., Jørgensen, B.B.,
Witte, U. and  Pfannkuche, O., 2000. A marine
microbial consortium apparently mediating anae-
robic oxidation of methane. Nature, 407: 623-626.

Borowski, W.S., Paull, C.K. and Ussler, W., 1996.
Marine pore-water sulfate profiles indicate in situ
methane flux from underlying gas hydrate. Geology,
24: 655-658.

Boudreau, B.P., 1988. Mass-transport constraints on the
growth of discoidal ferromanganese nodules. Ameri-
can Journal of Science, 288: 777-797.

Boudreau, B.P., 1997. Diagenetic models and their
impletation: modelling transport and reactions in
aquatic sediments. Springer, Berlin, Heidelberg, NY,
414 pp.

Brasier, M.D., Green, O.R., Jephcoat, A.P., Kleppe, A.K.,
van Krankendonk, M.J., Lindsay, J.F., Steele, A. and
Grassineau, N.V., 2002. Questioning the evidence for
Earth’s oldest fossils. Nature, 416: 76-81.

Canfield, D.E., 1993. Organic matter oxidation in
marine sediments. In: Wollast, R., Mackenzie, F.T.
and Chou, L. (eds), Interactions of C, N, P and S
biogeochemical cycles. NATO ASI Series, 14.
Springer, Berlin, Heidelberg, NY, pp. 333-363.

Canfield, D.E., Jørgensen; B.B., Fossing, H., Glud, R.N.,
Gundersen, J., Ramsing, N.B., Thamdrup, B., Hansen,
J.W., Nielsen, L.P. and Hall, P.O.J., 1993b. Pathways
of organic carbon oxidation in three continental
margin sediments. Marine Geology, 113: 27-40.

Canfield, D.E. and Teske, A., 1996. Late Proterozoic
rise in atmospheric oxygen concentration inferred
from phylogenetic and sulphur-isotope studies.
Nature, 382: 127-132.

Canfield, D.E., Kristensen, E. and Thamdrup, B., 2005.
Aquatic Geomicrobiology. Elsevier, San Diego, 640
pp .

Christensen, D., 1984. Determination of substrates
oxidized by sulfate reduction in intact cores of
marine sediments. Limnology and Oceanography,
29: 189-192.

Chrost, R.J., 1991. Microbial enzymes in aquatic
environments. Springer, Berlin, Heidelberg, NY, 317 pp.

Coleman, M.L., Hedrick, D.B., Lovley, D.R., White,
D.C. and Pye, K., 1993. Reduction of Fe(III) in
sediments by sulphate-reducing bacteria. Nature,
361: 436-438.

Conrad, R., Schink, B. and Phelps, T.J., 1986.
Thermodynamics of H2-consuming and H2-producing
metabolic reactions in diverse methanogenic environ-
ments under in situ conditions. FEMS Microbiology
Ecology, 38: 353-360.

Cypionka, H., 1994. Novel metabolic capacities of
sulfate-reducing bacteria, and their activities in
microbial mats. In: Stal, L.J. and Caumette, P.(eds),
Microbial mats, NATO ASI Series, 35, Springer,
Berlin, Heidelberg, NY, pp. 367-376.

Dannenberg, S., Kroder, M., Dilling, W. and Cypionka,
H., 1992. Oxidation of H2, organic compounds and
inorganic sulfur compounds coupled to reduction of
O2 or nitrate by sulfate-reducing bacteria. Archives
of Microbiology, 158: 93-99.

DeLong, E.F., Franks, D.G., Yayanos, A.A., 1997.
Evolutionary relationships of cultivated psychrophilic
and barophilic deep-sea bacteria. Applied and
Environmental Microbiology 63: 2105-2108.

D’Hondt, S.L., Jørgensen, B.B., Miller, D.J., et al.,
2003. Proceedings of the  Ocean Drilling Program,
Initial Reports, 201 [CD-ROM]. Available from:
Ocean Drilling Program, Texas A&M University,
College Station TX 77845-9547, USA.

D’Hondt, S., Jørgensen, B.B., Miller, D.J., Batzke, A.,
Blake, R., Cragg, B.A., Cypionka, H., Dickens, G.R.,
Ferdelman, T., Hinrichs, K.-U., Holm, N.G., Mitterer,
R., Spivack, A., Wang, G., Bekins, B., Engelen, B.,
Ford, K., Gettemy, G., Rutherford, S.D., Sass, H.,
Skilbeck, C.G., Aiello, I.W., Guèrin, G., House, C.H.,
Inagaki, F., Meister, P., Naehr, T., Niitsuma, S.,
Parkes, R.J., Schippers, A., Smith, D.C., Teske, A.,
Wiegel, J., Padilla, C.N. and Acosta, J.L.S., 2004.
Distributions of microbial activities in deep
subseafloor sediments. Science, 306: 2216-2221.

Ehrenreich, A. and Widdel, F., 1994. Anaerobic
oxidation of ferrous iron by purple bacteria, a new
type of phototrophic metabolism. Applied and
Environmental Microbiology, 60: 4517-4526.

Ehrlich, H.L., 1996. Geomicrobiology. Marcel Dekker,
NY, 719 pp.

Fenchel, T.M. and Jørgensen, B.B., 1977. Detritus food
chains of aquatic ecosystems: The role of bacteria.
In: Alexander, M. (ed), Advances in Microbial
Ecology, 1, Plenum Press, NY, pp. 1-58.

Fenchel, T., King, G.M. and Blackburn, T.H., 1998.
Bacterial biogeochemistry: The ecophysiology of
mineral cycling. Academic Press, London, 307 pp.

Fossing, H. and Jørgensen, B.B., 1989. Measurement of
bacterial sulfate reduction in sediments: evaluation
of a single-step chromium reduction method.
Biogeochemistry, 8: 205-222.

Fossing, H., Thode-Andersen, S. and Jørgensen, B.B.,
1992. Sulfur isotope exchange between 35S-labeled
inorganic sulfur compounds in anoxic marine
sediments. Marine Chemistry, 38: 117-132.

Fossing, H., Gallardo, V.A., Jørgensen, B.B., Hüttel, M.,
Nielsen, L.P., Schulz, H., Canfield, D.E., Forster, S.,
Glud, R.N., Gundersen, J.K., Küfer, J., Ramsing, N.B.,
Teske, A., Thamdrup, B. and Ulloa, O., 1995. Concen-
tration and transport of nitrate by the mat-forming
sulphur bacterium Thioploca. Nature, 374: 713-715.

Fossing, H., 1995. 35S-radiolabeling to probe biogeo-
chemical cycling of sulfur. In:. Vairavamurthy, M.A
and. Schoonen, M.A.A (eds), Geochemical transfor-
mations of sedimentary sulfur. ACS Symposium
Series, 612, American Chemical Society, Washing-
ton, DC, pp. 348-364.

Froelich, P.N., Klinkhammer, G.P., Bender, M.L., Luedtke,
N.A., Heath, G.R., Cullen, D., Dauphin, P., Hammond,



203

References

D., Hartman, B. and Maynard, V., 1979. Early oxi-
dation of organic matter in pelagic sediments of the
eastern equatorial Atlantic: suboxic diagenesis. Geochi-
mica et Cosmochimica Acta, 43: 1075-1088.

Glud, R.N., Gundersen, J.K., Jørgensen, B.B., Revsbech,
N.P. and Schulz, H.D., 1994. Diffusive and total
oxygen uptake of deep-sea sediments in the eastern
South Atlantic Ocean: in situ and laboratory
measurements. Deep-Sea Research, 41: 1767-1788.

Glud, R. N., Tengberg, A., Kühl, M., Hall, P.O.J. and
Klimant, I., 2001. An in situ instrument for planar
O2 optode measurements at benthic interfaces.
Limnology and Oceanography, 46: 2073-2080.

Greeff, O., Glud, R.N., Gundersen, J., Holby, O. and
Jørgensen, B.B., 1998. A benthic lander for tracer
studies in the sea bed: in situ measurements of
sulfate reduction. Continental Shelf Research, 18:
1581-1594.

Gundersen, J.K. and Jørgensen, B.B., 1990. Microstructure
of diffusive boundary layers and the oxygen uptake of
the sea floor. Nature, 345: 604-607.

Gundersen, J.K., Glud, R.N. and Jørgensen, B.B., 1995.
Oxygen turnover in the sea bed (in Danish), Vol. 57.
Danish Ministry of Environment and Energy,
Copenhagen, 155 pp.

Hansen, J.W., Thamdrup, B., and Jørgensen, B.B., 2000.
Anoxic incubation of sediment in gas-tight plastic
bags: A method for biogeochemical process studies.
Marine Ecology Progress Series, 208: 273-282.

Hedges, J.I., 1978. The formation and clay mineral
reactions of melanoidins. Geochimica et
Cosmochimica Acta, 42: 69-76.

Henrichs, S.M. and Reeburgh, W.S., 1987. Anaerobic
mineralization of marine sediment organic matter:
rates and the role of anaerobic processes in the
oceanic carbon economy. Geomicrobiological
Journal, 5: 191-237.

Henrichs, S.M., 1992. Early diagenesis of organic
matter in marine sediments: progress and perplexity.
Marine Chemistry, 39: 119-149.

Henriksen, K., 1980. Measurement of in situ rates of
nitrification in sediment. Microbial Ecology, 6: 329-
337.

Hoehler, T.M., Alperin, M.J., Albert, D.B. and Martens,
C.S., 1994. Field and laboratory studies of methane
oxidation in an anoxic marine sediment: Evidence
for a methanogen-sulfate reducer consortium. Global
Biogeochemical Cycles, 8: 451-463.

Hoehler, T.M., Alperin, M.J., Albert, D.B. and Martens,
C.S., 1998. Thermodynamic control on hydrogen
concentrations in anoxic sediments. Geochimica et
Cosmochimica Acta, 62: 1745-1756.

Huettel, M., Ziebis, W., Forster, S. and Luther, G.W.,
1998. Advective transport affecting metal and
nutrient distributions and interfacial fluxes in
permeable sediments. Geochimica et Cosmochimica
Acta, 62: 613-631.

Isaksen, M.F. and Jørgensen, B.B., 1996. Adaptation of
psychrophilic and psychrotrophic sulfate-reducing

bacteria to permanently cold marine environments.
Applied and Environmental Microbiology, 62: 408-414.

Iversen, N. and Jørgensen, B.B., 1985. Anaerobic
methane oxidation rates at the sulfate-methane
transition in marine sediments from Kattegat and
Skagerrak (Denmark). Limnology and Oceanogra-
phy, 30: 944-955.

Jørgensen, B.B., 1978. A comparison of methods for the
quantification of bacterial sulfate reduction in
coastal marine sediments. I. Measurement with
radiotracer techniques. Geomicrobiology Journal, 1:
11-27.

Jørgensen, B.B., 1982. Mineralization of organic matter
in the sea bed - the role of sulphate reduction.
Nature, 296: 643-645.

Jørgensen, B.B., 1990. A thiosulfate shunt in the sulfur
cycle of marine sediments. Science, 249: 152-154.

Jørgensen, B.B. and Bak, F., 1991. Pathways and
microbiology of thiosulfate transformation and
sulfate reduction in a marine sediment (Kattegat,
Denmark). Applied and Environmental Microbio-
logy, 57: 847-856.

Jørgensen, B.B., 2001. Microbial life in the diffusive
boundary layer. In: Boudreau, B.P. and Jørgensen,
B.B. (eds), The benethic boundary layer: transport
processes and biogeochemistry. Oxford University
Press, Oxford, pp. 348-373.

Jørgensen, B. B. and Nelson, D.C, 2004. Sulfide
oxidation in marine sediments: Geochemistry meets
microbiology. In Amend, J.P., Edwards, K.J. and
Lyons, T.W. (eds), Sulfur Biogeochemistry – Past
and Present. Geological Society of America, pp. 63-
81 .

Kallmeyer, J., Ferdelman, T.G., Weber, A., Fossing, H.
and Jørgensen, B.B., 2004. A cold chromium
distillation procedure for radiolabeled sulfide applied
to sulfate reduction measurements. Limnology and
Oceanography: Methods, 2: 171-180.

Karp-Boss, L., Boss, E. and Jumars, P.A., 1996.
Nutrient fluxes to planktonic osmotrophs in the
presence of fluid motion. Oceanography and Marine
Biology Annual Reviews, 34: 71-107.

Keil, R.G., Montlucon, Prahl, F.G. and Hedges, J.I.,
1994b. Sorptive preparation of labile organic matter
in marine sediments. Nature, 370: 549-552.

Kelly, D.P., 1982. Biochemistry of the chemolitho-
trophic oxidation of inorganic sulphur. Philosophic
Transactions of the Royal Society of London, 298:
499-528.

King, G.M., 1983. Sulfate reduction in Georgia salt
marsh soils: An evaluation of pyrite formation by
use of 35S and 55Fe tracers. Limnology and
Oceanography, 28: 987-995.

Klinkhammer, G.P., 1980. Early diagenesis in sediments
from the eastern equatorial Pacific, II. Pore water
metal results. Earth and Planetary Science Letters,
49: 81-101.

Knoblauch, C. and Jørgensen, B.B., 1999. Effect of
temperature on sulfate reduction, growth rate, and



5 Bacteria and Marine Biogeochemistry

204

growth yield in five psychrophilic sulfate-reducing
bacteria from Arctic sediments. Environmental
Microbiology, 1: 457-467.

Knoblauch, C., Sahm, K. and Jørgensen, B.B., 1999.
Psychrophilic sulphate reducing bacteria isolated
from permanently cold arctic marine sediments:
description of Desulfofrigus oceanense gen. nov., sp.
nov., Desulfofrigus fragile sp. nov., Desulfofaba
gelida gen. nov., sp. nov., Desulfotalea psychrophila
gen. nov., sp. nov., and Desulfotalea arctica sp. nov.
Journal of Systematic Bacteriology, 49: 1631-1643.

Koch, A.L., 1990. Diffusion, the crucial process in
many aspects of the biology of bacteria. In:
Marshall, K.C. (ed), Advances in microbial ecology,
11, Plenum, NY, pp. 37-70.

Koch, A.L., 1996. What size should a bacterium be? A
question of scale. Annual Reviews of Microbiology,
50: 317-348.

Krekeler, D. and Cypionka, H., 1995. The preferred
electron acceptor of Desulfovibrio desulfuricans
CSN. FEMS Microbiology Ecology, 17: 271-278.

Krüger, M., Meyerdierks, A., Glöckner, F.O., Amann, R.,
Widdel, F., Kube, M., Reinhardt, R., Kahnt, J.,
Böcher, R., Thauer, R.K. and Shima, S, 2003. A
conspicuous nickel protein in microbial mats that
oxidize methane anaerobically. Nature, 426: 878-881.

Kühl, M. and Revsbech, N.P., 2001. Biogeochemical
microsensors for boundary layer studies. In: Boudreau,
B.P. and Jørgensen, B.B. (eds.), The benthic boundary
layer: transport processes and biogeochemistry.
Oxford University Press, Oxford, pp. 180-210.

Kvenvolden, K.A., 1993. Gas hydrates - geological
perspective and global change. Reviews in Geo-
physics, 31: 173-187.

Llobet-Brossa, E., Roselló-Mora, R. and Ammann, R.,
1998. Microbial community composition of Wadden
Sea sediments as revealed by fluorescence in situ
hybridization. Applied and Environmental Microbio-
logy, 64: 2691-2696.

Lochte, K. and Turley, C.M., 1988. Bacteria and
cyanobacteria associated with phytodetritus in the
deep sea. Nature, 333: 67-69.

Madigan, M.T., Martinko, J.M. and Parker, J., 1997.
Biology of microorganisms. Prentice Hall, London,
986 pp.

Nauhaus, K., Boetius, A., Krüger, M. and Widdel, F.,
2002. In vitro demonstration of anaerobic oxidation
of methane coupled to sulphate reduction in
sediment from a marine gas hydrate area.
Environmental Microbiology 4: 296-305.

Nielsen, L.P., 1992. Denitrification in sediment
determined from nitrogen isotope pairing. FEMS
Microbiology Ecology, 86: 357-362.

Niewöhner, C., Hensen, C., Kasten, S., Zabel, M. and
Schulz, H.D., 1998. Deep sulfate reduction
completely mediated by anaerobic methane oxidation
in sediments of the upwelling area off Namibia.
Geochimica et Cosmochimica Acta, 62: 455-464.

Oremland, R.S. and Polcin, S., 1982. Methanogenesis and

sulfate reduction: Competitive and noncompetetive
substrates in estuarine sediments. Applied and
Environmental Microbiology, 44: 1270-1276.

Oremland, R.S., Marsh, L.M. and Polcin, S., 1982. Methane
production and simultaneous sulphate reduction in
anoxic saltmarsh sediments. Nature, 296: 143-145.

Oremland, R.S. and Capone, D.G., 1988. Use of „specific”
inhibitors in biogeochemistry and microbial ecology.
In: Marshall, K.C. (ed), Advances in microbial
ecology, 10, Plenum Press, NY, pp. 285-383.

Orphan, V.J., House, C.H., Hinrichs, K.-U., McKeegan,
K.D. and DeLong, E.F., 2001. Methane-consuming
archaea revealed by directly coupled isotopic and
phylogenetic analysis. Science, 293: 484-487.

Parkes, R.J., Cragg, B.A. and Wellsbury, P., 2000.
Recent studies on bacterial populations and proces-
ses in marine sediments: a review. Hydrogeology
Journal, 8: 11-28.

Parkes, J.R., Cragg, B.A., Bale, S.J., Getliff, J.M.,
Goodman, K., Rochell, P.A., Fry, J.C., Weightman, A.J.
and Harvey, S.M., 1994. Deep bacterial biosphere in
Pacific Ocean sediments. Nature, 371: 410-413.

Parkes, R.J., Webster, G., Cragg, B.A., Weightman, A.J.,
Newberry, C.J., Ferdelman, T.G., Kallmeyer, J.,
Jørgensen, B.B., Aiello, I.W., and Fry, J.C., 2005. Deep
sub-seafloor prokaryotes stimulated at interfaces over
geological time. Nature, 436: 390-394.

Postgate, J.R., 1984. The sulfate-reducing bacteria.
Cambridge University Press, London, 151 pp.

Rabus, F., Fukui, M., Wilkes, H. and Widdel, F., 1996.
Degradative capacities and 16S rRNA-targeted
whole-cell hybridization of sulfate-reducing bacteria
in an anaerobic enrichment culture utilizing
alkylbenzenes from crude oil. Applied and
Environmental Microbiology, 62: 3605-3613.

Redfield, A.C., 1958. The biological control of chemical
factors in the environment. American Scientist, 46:
206-222.

Reeburgh, W.S., 1969. Observations of gases in Chesa-
peake Bay sediments. Limnology and Oceanography,
14: 368-375.

Reimers, C.E., 1987. An in situ microprofiling instrument
for measuring interfacial pore water gradients:
methods and oxygen profiles from the North Pacific
Ocean. Deep-Sea Research, 34: 2019-2035.

Revsbech, N.P., Nielsen, L.P., Christensen, P.B. and
Sørensen, J., 1988. Combined oxygen and nitrous
oxide microsensor for denitrification studies. Applied
and Environmental Microbiology, 54: 2245-2249.

Roden, E.E. and Lovley, D.R., 1993. Evaluation of 55Fe
as a tracer of Fe(III) reduction in aquatic sediments.
Geomicrobiology Journal, 11: 49-56.

Rueter, P., Rabus, R., Wilkes, H., Aeckersberg, F.,
Rainey, F.A., Jannasch, H.W. and Widdel, F., 1994.
Anaerobic oxidation of hydrocarbons in crude oil by
new types of sulphate-reducing bacteria. Nature,
372: 455-458.

Sagemann, J., Jørgensen, B.B. and Greeff, O., 1998.
Temperature dependence and rates of sulfate



205

reduction in cold sediments of Svalbard, Arctic
Ocean. Geomicrobiology Journal, 15: 83-98.

Sansone, F.J., Andrews, C.C. and Okamoto, M.Y., 1987.
Adsorption of short-chain organic acids onto
nearshore marine sediments. Geochimica et
Cosmochimica Acta, 51: 1889-1896.

Santschi, P.H., Anderson R.F., Fleisher, M.Q. and
Bowles, W., 1991. Measurements of diffusive
sublayer thicknesses in the ocean by alabaster
dissolution, and their implications for the measure-
ments of benthic fluxes. Journal of Geophysical
Research, 96: 10.641-10.657.

Schink, B., 1997. Energetics of syntrophic cooperation
in methanogenic degradation. Microbiology and
Molecular Biology Reviews, 61: 262-280.

Schippers, A., Neretin, L.N., Kallmeyer, J., Ferdelman,
T.G., Cragg, B.A., Parkes, R.J. and Jørgensen, B.B.,
2005. Prokaryotic cells of the deep sub-seafloor
biosphere identified as living bacteria. Nature, 433:
861-864.

Schopf, J.W. and Klein, C. (eds), 1992. The proterozoic
biosphere. Cambridge University Press, Cambridge,
1348 pp.

Schulz, H.D., Dahmke, A., Schinzel, U., Wallmann, K.
and Zabel, M., 1994. Early diagenetic processes,
fluxes and reaction rates in sediments of the South
Atlantic. Geochimica et Cosmochimica Acta, 58:
2041-2060.

Schulz, H., Brinkhoff, T., Ferdelman, T.G., Hernandez
Marine, M., Teske, A. and Jørgensen, B.B., 1999.
Dense populations of a giant sulfur bacterium in
Namibian shelf sediments. Science, 284: 493-495.

Seitzinger, S. P., Nielsen, L.P., Caffrey, J. and
Christensen, P.B., 1993. Denitrification measure-
ments in aquatic sediments: A comparison of three
methods. Biogeochemistry, 23: 147-167.

Smith, K.L.Jr., Clifford, C.H. Eliason, A.h., Walden, B.,
Rowe, G.T. and Teal, J.M., 1976. A free vehicle for
measuring benthic community metabolism.
Limnology and Oceanography, 21: 164-170.

Sørensen, J., 1978. Denitrification rates in a marine
sediment as measured by the acetylene inhibition
technique. Applied and Environmental Microbiology,
35: 301-305.

Sørensen, J., Christensen, D. and Jørgensen, B.B., 1981.
Volatile fatty acids and hydrogen as substrates for
sulfate-reducing bacteria in anaerobic marine
sediment. Applied and Environmental Microbiology,
42: 5-11.

Stetter, K.O., 1988. Archaeoglobus fulgidus  gen. nov.,
sp. nov.: a new taxon of extremely thermophilic
Archaebacteria. Systematic and Applied
Microbiology, 10: 172-173.

Stetter, K.O., Huber, R., Blöchl, E., Knurr, M., Eden, R.D.,
Fielder, M., Cash, H. and Vance, I., 1993. Hyper-
thermophilic archaea are thriving in deep North Sea
and Alaskan oil reservoirs. Nature, 365: 743-745.

Stetter, K.O., 1996. Hyperthermophilic procaryotes.
FEMS Microbiology Revue, 18: 149-158.

Straub, K.L., Benz, M., Schink, B. and Widdel, F., 1996.
Anaerobic, nitrate-dependent microbial oxidation of
ferrous iron. Applied and Environmental Micro-
biology, 62: 1458-1460.

Straub, K.L. and Buchholz-Cleven, B.E.E., 1998.
Enumeration and detection of anaerobic ferrous
iron-oxidizing, nitrate-reducing bacteria from
diverse European sediments. Applied and Environ-
mental Microbiology, 64: 4846-4856.

Suess, E., 1980. Particulate organic carbon flux in the
oceans-surface productivity and oxygen utilization.
Nature, 288: 260-263.

Tegelaar, E.W., de Leeuw, J.W., Derenne, S. and
Largeau, C., 1989. A reappraisal of kerogen
formation. Geochimica et Cosmochimica Acta, 53:
3103-3106.

Tengberg, A., de Bovee, F., Hall, P, Berelson, W.,
Chadwick, D., Ciceri, G., Crassous, P., Devol, A.,
Emerson, s., Gage, J., Glud, R., Graziottin, F.,
Gundersen, J., Hammond, D., Helder, W., Hinga, K.,
Holby, O., Jahnke, R., Khripounoff, A., Lieberman,
S., Nuppenau, V., Pfannkuche, O., Reimers, C., Rowe,
G., Sahami, A., Sayles, F., Schurter, M., Smallman, D.,
Wehrli, B. and de Wilde, P., 1995. Benthic chamber
and profiling landers in oceanography - A review of
design, technical solutions and function. Progress in
Oceanography, 35: 253-292.

Thamdrup, B., Finster, K., Hansen, J.W. and Bak, F.,
1993. Bacterial disproportionation of elemental
sulfur coupled to chemical reduction of iron or
manganese. Applied and Environmental Micro-
biology, 59: 101-108.

Thamdrup, B., Fossing, H. and Jørgensen, B.B., 1994.
Manganese, iron, and sulfur cycling in a coastal
marine sediment, Aarhus Bay, Denmark. Geochimica
et Cosmochimica Acta, 58: 5115-5129.

Thauer, R.K., Jungermann, K. and Decker, K., 1977.
Energy conservation in chemotrophic anaerobic
bacteria. Bacterial Reviews, 41: 100-180.

Thomsen, L., Jähmlich, S., Graf, G., Friedrichs, M.,
Wanner, S. and Springer, B., 1996. An instrument
for aggregate studies in the benthic boundary layer.
Marine Geology, 135: 153-157.

Vetter, Y.A., Deming, J.W., Jumars, P.A. and
Kriegerbrockett, B.B., 1998. A predictive model of
bacterial foraging by means of  freely released extra-
cellular enzymes. Microbiology Ecology, 36: 75-92.

Weber, A. and Jørgensen, B.B., 2002. Bacterial sulfate
reduction in hydrothermal sediments of the Guaymas
Basin, Gulf of California, Mexico. Deep-Sea
Research, 49: 827-841.

Weiss, M.S.,  Abele, U., Weckesser, J., Welte, W. und
Schulz, G.E., 1991. Molecular architecture and
electrostatic properties of a bacterial porin. Science,
254: 1627-1630.

Wellsbury, P., Goodman, K., Barth, T., Cragg, B.A.,
Barnes, S.P. and Parkes R.J., 1997. Deep marine bio-
sphere fuelled by increasing organic matter availability
during burial and heating. Nature, 388: 573-576.

References



5 Bacteria and Marine Biogeochemistry

206

Wenzhöfer, F. and Glud, R.N., 2002. Benthic carbon
mineralization in the Atlantic: a synthesis based on
in situ data from the last decade. Deep-Sea Research
I, 49: 1255-1279.

Westrich, J.T. and Berner, R.A., 1984. The role of
sedimentary organic matter in bacterial sulfate
reduction: The G model tested. Limnology and
Oceanography, 29: 236-249.

Whitman, W.B., Coleman, D.C. and Wiebe, W.J., 1998.
Prokaryotes: The unseen majority. Proceedings of
the National. Academy of Sciences, USA, 95: 6578-
6583 .

Widdel, F., 1988. Microbiology and ecology of sulfate-
and sulfur-reducing bacteria. In: Zehnder, A.J.B. (ed).
Biology of anaerobic microorganisms. Wiley &
Sons, NY, pp. 469-585.

Widdel, F., Schnell, S., Heising, S., Ehrenreich, A.,
Assmus, B. and Schink, B., 1993. Ferrous iron
oxidation by anoxygenic phototrophic bacteria.
Nature, 362: 834-836.

Yayanos, A.A., 1986. Evolutional and ecological
implications of the properties of deep-sea barophilic
bacteria. Proc. Natl. Acad. Sci., 83: 9542-9546.



207

6.1 Introduction

All particles settling at the sea floor continuously
undergo diagenetic alteration due to physical and
chemical processes in the sediment (e.g. particle
mixing, compaction, redox reactions). Marine
sediments are the primary long-term repository of
organic matter and the systematic analysis of the
control mechanisms and processes modifying the
original input signal is of key importance for the
understanding and the reconstruction of
biogeochemical cycles in the ocean. This chapter
mainly focuses on processes occurring at the
transition zone between sediments and bottom
water where fresh, bio-available organic material is
subject to intense bacterially mediated oxidation.
Oxygen and nitrate are treated together because
they are thermodynamically the most favorable
electron acceptors in the diagenetic sequence of
organic matter decomposition and their pathways
are coupled through oxidation of reduced nitrogen
species (nitrification) in oxic systems (cf. Section
3.2.3). Generally, their involvement in the
biogeochemical cycles of the ocean is much more
complex than only seen from this point of view
and therefore, the combined examination of both
parameters is for reasons of convenience and
follows the general concept of this book. Both
oxygen and nitrate pathways are very important
and inherent for the understanding of the oceanic
carbon cycle. Oxygen is introduced into surface
waters by photosynthesis and, even more
important, by exchange with the atmosphere.
Conversely, it is consumed in the course of the
degradation of organic matter. The latter occurs
throughout the water column and in the sediments
resulting in the release of carbon dioxide, nitrate,

and phosphate. Nitrate itself is then used as the
“next” suitable electron acceptor for organic
matter degradation in environments where oxygen
availability is limited, such as oxygen minimum
zones or below the oxygen penetration depth in
the sediments. Nitrate and phosphate are the most
important limiting nutrients for driving primary
productivity in the surface water. There is,
however, a still ongoing debate on whether one or
the other is the limiting nutrient on different time
and spatial scales. The arguments are often called
the “biologist’s view” (nitrogen limitation) and the
“geochemist’s view” (phosphorus regulation),
because they implicate two different perspectives
on looking at the oceanic biogeochemical cycles.
The typical geochemist would argue that over
long time scales nitrogen fixers (converting N2 to
organic nitrogen) may be able to balance the
nitrate deficit by using the huge reservoir of
dissolved N2 and allowing certain levels of
productivity even if nitrate becomes exhausted
relative to phosphorus. The supply of phospho-
rus depends solely on the riverine input and the
remineralisation in the water column and in the
sediments. Once it is exhausted, there is no other
means of replenishing the reservoir. The view of
the biologist might be supported by the fact that
in certain areas of the global ocean small residues
of phosphorus exist while nitrate is undetectable
and the inorganic dissolved N:P ratio of the global
ocean is often below 16:1. A sort of compromising
theory has been proposed by Tyrrell (1999), which
differentiates between nitrogen as the “proximate
limiting nutrient” (with regard to immediate growth
rates) and phosphate as the “ultimate limiting
nutrient” (with regard to the whole system
productivity over long timescales). However,
since this is not the final conclusion and a more
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Fig. 6.1 Idealized vertical sections of dissolved oxygen,
nutrients and alkalinity through the water column. The nu-
trients are completely consumed in surface waters. With
increasing depth nutrients and CO2 are produced while oxy-
gen is consumed during organic matter decomposition.

detailed discussion is beyond the scope of this
chapter we would like refer to general compila-
tions of this topic (i.e. Falkowski 1997; Tyrrell
1999; Wallmann 2003; Mills et al. 2004).

Phosphate, in contrast to nitrate, does not
change between different redox states. Phosphate
is released into the pore water from degrading
organic material and by polyphosphate accumu-
lating bacteria, and may either diffuse into the

overlaying water, adsorb to iron minerals (see
Section 7.4.4.3), or precipitate as phosphate
bearing minerals like apatite.

In the following sections, we will first give a
short overview concerning the distribution and
the geochemistry of oxygen nitrate in the modern
oceans followed by a more detailed description of
the relevant geochemical processes in marine
sediments.

6.2 Distribution of Oxygen, Nitrate
and Phosphate in Seawater

The distribution of dissolved oxygen in seawater
results from the interaction of different factors.
Those are (a) the input of oxygen across the
atmosphere-ocean interface and the oxygen
production by phytoplankton, (b) the microbially
catalyzed degradation of organic matter and
oxidation of other reduced substances, and (c)
physical transport and mixing processes in the
ocean. Theoretically, the oxygen concentration in
seawater is limited by its solubility, but in fact the
saturation concentration is only reached in
surface waters. At some places, surface waters are
even supersaturated with respect to oxygen,

Fig. 6.2 Vertical sections of nitrate and phosphate in different ocean basins. Older water masses in the Pacific and
Indian Ocean are generally more enriched in nitrate and phosphate (data from WOCE-sections A05, A16S, I03, and
P13; WOCE 2002).
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which is thought to be caused by entrapment of
air bubbles (cf. Chester 1990). Below the produc-
tive mixed layer oxygen is depleted by bacterial
respiration processes. Numerous studies show
that this process is most intense within the upper
1,000 m of the water column, which marks
approximately the lower end of the permanent
thermocline. As a consequence significant oxygen
minimum zones can be observed in areas with high
surface water productivity (see Fig. 4.2). Such
areas exist where upwelling water masses signifi-
cantly enhance the supply of nutrients, mainly at
the west coasts of the continents (trade wind
belts of America and Africa), but also along the
equatorial divergence zones and related to the
Polar Fronts (e.g. Antoine et al. 1996; Behrenfeld
and Falkowski 1997; see Fig. 12.5). Generally, the
distribution of oxygen in the water column is
dependent on how much the oxygen depletion
exceeds the supply by vertical and lateral advec-
tion and diffusion at a certain depth. Since carbon
oxidation is the main reason for oxygen depletion,
a syngenetical increase of dissolved nutrients
(nitrate and phosphate) and a decrease of particu-
late organic carbon with increasing water depth is
the typical feature. Figure 6.1 shows idealized
depth profiles of oxygen, a typical nutrient (like
phosphate or nitrate), and alkalinity. Alkalinity, in
this case, has to be understood as a sum parame-
ter for dissolved carbon species which increase
with depth due to the continued decay of organic
material. These patterns, however, may deviate
between the ocean basins depending on the ocea-
nographic setting (currents, mixing of water
masses), the particle-transport through the water
column, and the composition of mineralized
organic matter. Figure 6.2 shows some examples of
the nitrate distribution in different ocean basins.
The deep waters of the Pacific and the Indian
Ocean are enriched in nitrate relative to the North
Atlantic due to deep-water transport through the
ocean basins (see below). As pointed out above,
both nutrients are depleted in the surface water.

The investigation of the key processes has
largely benefited from the invention of sediment
traps measuring the particle flux through the water
column over long periods of time. A number of
researchers have attempted to quantify export
fluxes of organic carbon from surface waters and
their transition to the bottom by empirical
formulations (cf. Section 4.2; e.g. Betzer et al.
1984; Berger et al. 1987; Martin et al. 1987).
Generally, these are exponential and power equa-

tions predicting about 90% of the remineralization
within the upper hundreds of meters of the water
column (cf. Fig 12.1). To illustrate this process
Figure 6.3 shows the application of three different
equations to predict the vertical (transit) carbon
flux. In all cases a surface primary productivity of
250 gC m-2yr-1 is assumed. At a depth horizon of
1,000 m only less than 5% of primarily produced
organic carbon remain.

Comparative studies of the relation between
primary productivity and benthic mineralization
processes (Jahnke et al. 1990; Rowe et al. 1994;
Hensen et al. 2000) show, however, that these
empirical formulations are restricted to a limited,
regional use (cf. Section 12.3). A further important
factor in this regard is the reaction stoichiometry
of organic matter degradation, since it determines
the proportional release of CO2, NO3 and PO4.
Based on planktonic decomposition studies,

Fig. 6.3 Example calculations for the transit flux of
organic carbon after empirical equations assuming a surface
primary productivity of 250 gC m-2 yr-1. More than 95% of
the organic carbon is oxidized above the 1,000 m horizon.

Solid line: JCorg [gC m-2 yr-1] = 17 PP/z + PP/100 (Berger et
al. 1987)
Broken line: JCorg [gC m-2 yr-1] = 9 PP/z + 0.7 PP/z0.5 (Berger
et al. 1987)
Dotted line: JCorg [gC m-2 yr-1] = 0.409 PP1.41/z0.628 (Betzer et
al. 1984)
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Redfield et al. (1963) suggested an overall C/N/P/
O2 ratio of 106/16/1/138 (see Eq. 6.1, cf. Fig 3.11).
However, although widely used, subsequent
investigations have put this formulation into
question. Deviating ratios were formulated as 140/
16/1/172 (Takahashi et al. 1985) or 117/16/1/170
(Anderson and Sarmiento 1994) implying that
there is still debate on the general validity of the
use of one “Redfield ratio” for all ocean basins
and all water depths. Instead, C/N/P ratios seem to
be subject to regional variation.

Oxygen depth profiles show an opposite trend
to alkalinity and nitrate resulting from low
mineralization rates in the deep ocean waters and
input of oxygen-rich water masses by advective
transport. Figure 6.4 shows a meridional transect
of oxygen concentration through the Atlantic
Ocean compiled by Reid (1994). The most pro-
minent pattern is the southward flow of oxygen-
rich North Atlantic Deep Water raising the oxygen
concentration along its flow path into the
equatorial South Atlantic at water depths of
3,000 – 4,000 m. Less prominent, but still
significant, is also the northward flow of oxygen-
rich Antarctic Intermediate Water which is marked
by elevated oxygen concentrations on a south-
north path (50°S – 20°S) between 0 – 1,000 m
water depth. The distribution of oxygen in ocean
water is therefore strongly dependent on large-
scale circulation patterns. The same is valid for
the distribution of nutrients: Vertical concentra-
tion profiles are always a mixture of in situ
decomposition and advective transport processes.
The global deep-water circulation pattern shows a
general flow path from the North Atlantic to the
North Pacific and Indian Oceans. As a result,
“older” deep waters in the Pacific and Indian
Oceans are depleted of oxygen and enriched in
nutrients (Fig. 6.2) and CO2 (Broecker and Peng
1982; Kennett 1982; Chester 1990; see Chapter 9).

When studying the early diagenesis of deep-
sea sediments, it is very important to consider all
features of the oceanic environment and conse-
quently of the composition of the overlying deep-
ocean water, since it determines the availability of
any solute, i.e. oxygen or nitrate, as possible oxi-
dants for organic carbon mineralization. As a
consequence of intense deep water mixing and
limited supply of degradable material to the
sediments within the big central gyres, oxidant
limitation is the exceptional case, which has,
however, not always been the case in earth
history (cf. Section 4.1).

6.3 The Role of Oxygen, Nitrogen
and Phosphorus in Marine
Sediments

To estimate the role of oxygen and nitrate we have
to describe the general processes occurring close
to the sediment water interface, the methods how
to measure concentrations, fluxes, and consump-
tion rates, and how to relate them to organic mat-
ter degradation and other processes. Subsequently,
we will show examples from case studies to
characterize the magnitude of fluxes and different
environments in deep-sea sediments. The early
diagenetic processes at the sediment-water inter-
face are of special interest in global biogeo-
chemical cycles because it is decided at this
separation line between ocean water and sediment
if any substance is recycled or buried for a long
period of time in a geological sense.

6.3.1 Respiration and Redox Processes

6.3.1.1 Nitrification and Denitrification

In principle, the sequence of oxidants is deter-
mined by the energy yield for the microor-
ganisms. When oxygen and nitrate are depleted
reduction of Mn and Fe (oxo)hydroxides and
sulfate as well as methane fermentation follow in
the sequence with decreasing yield of energy
(Froelich et al. 1979; cf. Section 3.2.5 and
subsequent chapters). This sequence is general-
ly valid, even though numerous studies have
identified an overlap of carbon oxidation path-
ways within the sediment resulting from compe-
tition between microbial populations (Canfield
1993) and the presence of microenvironments
(e.g. Jørgensen 1977; cf. Chapters 7, 8, 12).

The general equations of coupled oxic respi-
ration and nitrification (6.1) and denitrification
(6.2) describing the “top” of the diagenetic
sequence are given as:

Oxic respiration and nitrification
(CH2O)106(NH3)16(H3PO4) + 138 O2 →
106 CO2 + 16 HNO3 + H3PO4 + 122 H2O
∆G0 = - 3190 kJ mol-1 (6.1)

Denitrification
(CH2O)106(NH3)16(H3PO4) + 94.4 HNO3 →
106 CO2 + 55.2 N2 + H3PO4 + 177.2 H2O
∆G0 = - 3030 kJ mol-1 (6.2)
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The ∆G0-values indicate the higher energy
yield for using oxygen rather than nitrate as the
terminal electron acceptor. In these equations, it is
assumed that organic matter with a C/N/P ratio of
106/16/1 is oxidized. Equation (6.1) requires that
ammonia released during oxic respiration is
quantitatively oxidized to nitrate. The process of
nitrification is, however, more complex than
described above and is known as a stepwise oxi-
dation of nitrogen species by different microbes.
Those can be grouped into ammonia oxidizers,
generally with a genus name starting with the
prefix Nitroso- and nitrite oxidizers, starting with
the prefix Nitro-. Although ammonia and nitrite
oxidizing bacteria are physiologically depending
on each other and usually occur in close
proximity, they are phylogenetically two distinct
groups of bacteria, which are not closely related
(Bock and Wagner 2001). The oxidation of
ammonia to nitrite is also a two step process in
which hydroxylamine is formed as an intermediate
product (Eq. 6.3). The second step yields the
biogeochemically useful energy (Eq. 6.4):

2 NH3 + O2 → 2 NH2OH (6.3)

NH2OH + O2 → NO2
- + H2O + H+ (6.4)

In the following step nitrite is oxidized by
lithotrophs like Nitrobacter  or Nitrococcus  to
nitrate (Eq. 6.5):

NO2
- + ½ O2 → NO3

- (6.5)

In summary, nitrifying bacteria are considered
to be strictly aerobic and therefore depend on
adequate oxygen supply for their energy gain
(Painter 1970). Experimental results of Henriksen et
al. (1981) on control factors of nitrification rates in
shallow water sediments from Denmark revealed
that nitrification is strongly dependent on tempe-
rature, oxygen availability (oxygen penetration
depth), ammonia supply and the number of nitrifying
bacteria. These complex interactions are more
thoroughly discussed in comprehensive reviews on
nitrification in coastal marine environments by
Kaplan (1983) and Henriksen and Kemp (1988).

Denitrification starts when oxygen is almost
depleted (below the oxygen penetration depth) by
inducing an enzymatic system of nitrate reductase
and nitrite reductase by facultative aerobic bacte-
ria, which can only use nitrogenous oxides if
oxygen is - nearly - absent. Measurements carried

out with a combined microsensor for O2 and N2O
indicated that denitrification is restricted to a thin
anoxic layer below the oxic zone (Christensen et
al. 1989). Denitrification is the only biological pro-
cess that produces free nitrogen. It removes fixed
nitrogen compounds and, therefore, exerts a
negative feedback on eutrophication making it a
crucial process for the preservation of life on
earth. For example, denitrification in rivers and
coastal environments reduces the supply of fixed
nitrogen from the continents by about 40%.
(Seitzinger 1988).

The reduction of nitrate to dinitrogen occurs
first as a reduction of nitrate to nitrite (Eq. 6.6)
and then a stepwise reduction to nitrogen oxide,
dinitrogen oxide (Eq. 6.7) and dinitrogen (Eq. 6.8):

NO3
- + 2 H+ + 2 e- → NO2

- + H2O (6.6)

2 NO2
- + 6 H+ + 4 e- → N2O + 3 H2O (6.7)

N2O + 2 H+ + 2 e- → N2 + H2O (6.8)

The last reduction step from nitrous oxide to
dinitrogen (Eq. 6.8) is not always completed so
that the final product of denitrification is not
necessarily dinitrogen. Nitrous oxide may there-
fore be produced or consumed during denitrifica-
tion. A compilation of Seitzinger (1998) for coastal
marine environments shows, however, that in most
cases the net ratios between N2O:N2 production
rates are usually very small (between 0.0002-0.06).
The total amount of dinitrogen produced obvious-
ly depends on the partial pressure of oxygen (higher
oxygen contents seem to be suitable for the pro-
duction of N2O; Jørgensen et al. 1984), the pH,
and the presence of H2S.

The major prerequisite for denitrification is the
availability of nitrate (including nitrite). In marine
sediments the dominant sources of nitrate are the
production during nitrification and the supply
from overlying bottom water by means of biotur-
bation, bioirrigation, and diffusion (see Section
6.3.2). Furthermore, denitrification is strongly
dependent on temperature, but also on the oxygen
concentration and the availability of organic mat-
ter are limiting for the process (Middelburg et al.
1996a). There is also evidence that denitrification
may be reduced at high sulfate reduction rates,
because low sulfide concentrations completely
inhibit nitrification which in turn is necessary for
denitrification (Seitzinger 1988). Generally, most
suitable conditions for denitrification are obtained
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at intermediate carbon availability levels when
carbon is not limiting for oxic respiration, but
sulfate reduction is still low or absent. Studies of
Jørgensen and Sørensen (1985) along a salinity
gradient in a Danish estuary revealed evidence
that denitrification and nitrate reduction (Eq. 6.9)
became a more important pathway as sulfate
became limited due to increased freshwater input
close to the river outlet.

Many bacteria are able to reduce nitrate to
ammonia in order to use nitrate as a nitrogen
source for the build up of biomass (assimilation).
Also the dissimilatoty nitrate reduction to
ammonia (DNRA), where nitrate is respired to
ammonia, is a widespread physiological ability
among bacteria. Nevertheless, until recently it was
thought to have small ecological significance,
because the potential energy gain of nitrate
reduction to nitrogen is higher (compare Fig. 5.9).

The ability of some bacteria to reduce nitrite fur-
ther to ammonia (Jørgensen and Sørensen 1985;
Sørensen 1987) can be expressed by the following
equation:

NO2
- + 8 H+ + 6 e- → NH4

+ + 2 H2O (6.9)

Figure 6.5 shows typical pore water profiles of
oxygen and nitrate measured in organic rich
sediments off Namibia summing up the net reac-
tions described above. Due to nitrification, the
highest nitrate concentrations are reached
approximately at the oxygen penetration depth. At
about 3 cm depth, nitrate is consumed in the
process of denitrification. The nitrate profile indi-
cates an upward flux into the bottom water and a
downward flux to the zone of denitrification. Both
profiles are verified by the application of Equa-
tions 6.1 and 6.2 within the computer model
CoTAM/CoTReM (cf. Chapter 15) as indicated by
the solid and dashed lines.

It could be shown that the processes descri-
bed above are of key importance for the distri-
bution of oxygen and nitrate in the sediment
column and can directly be related to the degra-
dation of organic matter. The reduction by any
other reduced species (e.g. H2S, Fe2+, Mn2+) can,
however, also be an important pathway (see below
and cf. Chapters 7, 8). Generally, most of these
processes are microbially mediated (cf. Chapter 5;
e.g. Chapelle 1993; Stumm and Morgan 1996). This
also includes the (re-oxidation) of upward
diffusing reduced nitrogen species (mainly
ammonia) during oxic respiration. In the example
of Figure 6.5 the C/N ratio of decomposed organic
matter had to be decreased to a factor of 3.7
(instead of 6.625; cf. Eq. 6.1) to reproduce the
measured nitrate concentration profile. This is a
reasonable explanation because fresh organic
matter (with a high fraction of N-rich amino acids)
could be supplied in this specific marine environ-
ment (cf. Section 4.4), but the oxidation of upward
diffusing reduced nitrogen species and/or
artificially increased nitrate concentrations (see
Section 6.3.2) have to be considered for inter-
pretation.

The general reaction principle and the
coupling of all processes described in this section
is illustrated in Figure 6.6. All dissolved species
created during nitrification and denitrification may
either escape into the bottom water, mainly by
diffusion, or are involved in subsequent redox
processes. Ammonium is generally re-oxidized in

Fig. 6.5 Measured and simulated profiles of oxygen and
nitrate of station GeoB 1711 from the continental slope off
Namibia at a water depth of approximately 2000 m. Degra-
dation of organic matter with a C/N ration of 3.7 was assu-
med for simulation. Bars indicate oxygen consumption rates
required for model fit (after Hensen et al. 1997).

6.3 The Role of Oxygen, Nitrate and Phosphorus in Marine Sediments
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oxygenated sediments (cf. Section 6.3.1.3), but it
may also diffuse into the bottom water, if oxygen
or other suitable oxidants are either limited or
absent.

Nitrate as terminal electron acceptor is especi-
ally important for the oxidation of ferrous iron
(Straub et al. 1996) or hydrogen sulfide. Particular-
ly among the sulfide oxidizing bacteria a unique
adaptation for the use of nitrate as electron
acceptor has evolved: a central vacuole used for
the storage of nitrate (Fossing et al. 1995). The
vacuolated sulfur bacteria contain nitrate in con-
centrations ranging from several tens to hun-
dreds of mmolar, which is up to five orders of mag-
nitude higher than the ambient environmental
concentrations (Fossing et al. 1995). High internal
nitrate concentrations are found in three genera of
sulfur bacteria (Fig. 6.7) called Beggiatoa (McHatton
et al. 1996), Thioploca (Fossing et al. 1995) and
Thiomargarita (Schulz et al. 1999). All of these
bacteria are also storing the electron donor sulfide
in the form of sulfur globules. The vacuolated
sulfur bacteria can be unusually large (up to
several 100 µm diameter), because the volume of
the vacuole is not metabolically active. Their
sulfur inclusions scatter the light giving these

bacteria a bright white appearance, which makes it
possible to see them with the naked eye.

Beggiatoa and Thioploca are filamentous
bacteria, meaning that the cells occur in a row and
are connected with each other. The filaments are
motile by gliding. Thioploca filaments are found
as very dense mats in sediments of the upwelling
areas off Chile and Peru. The filaments live as
bundles in vertical sheaths reaching up to 20 cm
into the sediment (Fig. 6.7). In the sheaths they
glide between the surface of the sediment, where
they take up nitrate, and deeper parts of the
sediment, where sulfide produced by sulfate redu-
cing bacteria is available (Fossing et al. 1995). The
larger nitrate storing forms of Beggiatoa are
frequently encountered in areas with locally
enhanced sulfide flux, such as hydrothermal vents
and seeps or methane hydrates. In contrast to
Thioploca the filaments are not forming bundles.
They are usually found as white or more seldom
orange mats at the sediment surface (Fig. 6.7). In
the Benguela upwelling region, a large area of the
seafloor covered with loose diatome ooze, is
populated by Thiomargarita cells (Schulz et al.
1999). In contrast to their close relatives Beggia-
toa and Thioploca these sulfur bacteria are not

Fig. 6.6 Pathways of nitrogen in marine surface sediments. Arrows: black, organic matter degradation; gray,
particulate organic nitrogen; dotted, diffusion of solutes.
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motile and do not form true filaments. The
individual, spherical cells are hold together in
strings by a slime sheath (Fig. 6.7). They are the
largest bacteria known so far (>700 µm diameter)
and may survive up to several years in sulfidic
sediments without getting into contact with nitrate
or oxygen. Instead of actively gliding in between
different sediment horizons they seem to rely on
getting passively transported into nitrate contai-
ning water by sediment suspension.

Even though it is quite obvious that the nitrate
storing sulfur bacteria use nitrate as electron
acceptor for the oxidation of sulfide, it is still not
completely clear, whether the end product of
nitrate respiration is ammonia or nitrogen. As this
group of bacteria cannot be grown in pure
cultures yet, all conclusions on their metabolism
are drawn from indirect evidences and remain to
some degree speculative. Earlier reports on deni-
trification in Beggiatoa (Sweerts et al. 1990) have
been doubted since Otte et al. (1999) could show
ammonia production in cleaned Thioploca fila-
ments. At first glance, it seems more likely to
assume denitrification, as the energy yield per
mole sulfide oxidized with nitrate is much higher if

nitrate is reduced to nitrogen (-714.7 kJ mol-1) and
not to ammonia (-436.2 kJ mol-1) (Jørgensen and
Nelson 2004). Nevertheless, per mole nitrate the
energy yields of both processes are quite
comparable with -446.7 kJ mol-1 for denitrification
and 436.2 kJ mol-1 for dissimilatory reduction of
nitrate to ammonia (DRNA). Furthermore, the last
step of denitrification is easily blocked by sulfide,
which suggests that DNRA might be a more
efficient way of anaerobic sulfide oxidation than
denitrification (Jørgensen and Nelson 2004).

6.3.1.2 Coupling of Oxygen and Nitrate to
other Redox Pathways

Below the oxygenated zone anoxic diagenesis is
stimulated, if biodegradable organic matter is still
sufficiently available. Anoxic mineralization pro-
cesses result in a release of reduced species, like
ammonia (Fig. 6.6), into pore water which might be
re-oxidized again as they diffuse back to the sur-
face layers. Stimulation of anoxic diagenesis re-
quires high input of organic matter to the sedi-
ment surface which is usually combined with high
sediment advection restricted to coastal and high

Fig. 6.7 Morphology of the three genera of nitrate storing sulfur bacteria. Above: appearance in the light
microscope. Below: distribution in the sediment.

6.3 The Role of Oxygen, Nitrate and Phosphorus in Marine Sediments
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production areas adjacent to continental margins.
The general coupling between sediment advection,
deposition (burial) and mineralization of organic
matter is depicted in Figure 6.8 and has been
documented in numerous studies (cf. Sections 4.2,
4.3; e.g. Henrichs and Reeburgh 1987; Henrichs
1992; van Cappellen et al. 1993; Tromp et al. 1995).

The amount of fresh organic matter arriving at
the sediment surface also constitutes a control
parameter for the population density of benthic
macrofauna responsible for the biological mixing
of the sediment. Biological mixing is known to be
much more important for the transport of labile
organic particles to deeper sediment layers than
sedimentation (cf. Section 7.4.4). The strong corre-
lation between sedimentation rate and particle
mixing was recently compiled by Tromp et al.
(1995) and is shown in Figure 3.28. Based on this

compilation Tromp et al. (1995) derived the
following regression equation:

log Dbio = 1.63 + 0.85 log ϖ (6.10)

where Dbio is the bioturbation coefficient (cm2 yr-1)
and ϖ is the sedimentation rate (cm yr-1). A closer
look at the data shown in Figure 3.28 and
Equation 6.10 makes clear that there is a difference
between both parameters of up to three orders of
magnitude. The correlation is, however, only ap-
plicable when other environmental factors, like
bottom water anoxia, extreme sedimentation rates,
or current action, are not effective. Bottom water
deficiency of oxygen (below 20% sat.) has been
shown to seriously decrease the bioturbation
intensity (Rhoads and Morse 1971) and below an
oxygen saturation of about 5% nearly no macro-
fauna will survive (Baden et al. 1990).

For some practical reasons, oxygen is often
used as a measure for total respiration of a
sediment, mainly in the marine environment (cf.
Jahnke et al. 1996; Seiter et al. 2005; Section 12.5.2;
Figs. 12.17 - 12.19). Because of all subsequent
mineralization processes occurring below, this is
of course not strictly correct. Rather a complete
net-reoxidation of all reduced species produced
during anoxic diagenesis is required – ultimately
by means of oxygen (Pamatmat 1971).

Any fixation and burial of reduced species
(e.g. the formation of sulfides or carbonates;
pyrite, siderite,...) or the escape of reduced
solutes across the sediment-water interface (e.g.
CH4, NH4; N2O, N2, Mn2+, Fe2+; Bartlett et al. 1987;
Seitzinger 1988; Devol 1991; Tebo et al. 1991;
Johnson et al. 1992; Thamdrup and Canfield 1996;
Wenzhöfer et al. 2002) results in an underes-
timation of the total respiration. The evaluation
whether a reoxidation is complete is generally very
difficult and is limited by the availability of
measurements of all key species. The main
questions are: (1) How big is the contribution of
each pathway compared to the total mineraliza-
tion? (2) To which amount and by which proces-
ses are these pathways interrelated? Since in
most studies a lack of information on certain
parameters remains, or different methods are
applied to determine one pathway (e.g. diffe-
rences resulting from in situ / ex situ determi-
nation of a species, or different methods to deter-
mine for example denitrification and sulfate reduc-
tion rates; see Section 6.4), the conclusion remains
at least to some extent arbitrary. Reimers et al.

Fig. 6.8 Input rates of organic carbon plotted against
carbon mineralization and carbon burial from different
data sources (after Henrichs 1992).
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(1992) calculated for rapidly accumulating sedi-
ments on the continental margin off California that
aerobic respiration is the major pathway of orga-
nic matter oxidation and more than 90% of the
oxygen flux into the sediments is used for organic
carbon oxidation. Since respiration by anoxic
processes is estimated to exceed 30% of the total
mineralization in the sediment this indicates an
incomplete reoxidation cycle. Results of Canfield
et al. (1993 a,b) and Wenzhöfer et al. (2002) from
continental shelf sediments of the Baltic Sea
indicate that oxygen consumption by reoxidation
processes is quantitatively more important than
aerobic respiration. In these environments sulfate
reduction seems to be the dominant respiration
process (Wenzhöfer et al. 2002; Thamdrup et al.
1994), although metal oxides can also play a
significant role in particular cases. Canfield et al.
(1993 a,b) have shown that the importance of
metal oxides in the diagenetic sequence is
strongly dependent on bioturbation activity.
Mineralization rates simply derived from pore
water gradients might underestimate the true rates
by one order of magnitude (Haese 1997). Such
complex interactions between different pathways
of organic matter decomposition and redox reac-
tions are restricted to coastal marine environments
and highly accumulating upwelling regions. In
oligotrophic regions of the deep sea, 100 to 1,000-
times more organic carbon is oxidized by oxygen
than by sulfate reduction and other pathways
(Canfield 1989). For the major part of the world
oceans the oxygen flux into the sediment pro-
vides a good approximation to the total rate of
organic carbon oxidation.

6.3.1.3 Anaerobic Oxidation of Ammonium
with Nitrate (Anammox)

The usual way of transferring biological bound
nitrogen to dinitrogen is a series of microbial
activities starting with the release of ammonia
from degraded organic material (ammonification),
the oxidation of ammonia with oxygen to nitrate
(nitrification) and the reduction of nitrate to
dinitrogen, when nitrate is used as electron
acceptor for the oxidation of organic material
(Fig. 6.9, cf. Section 6.3.1.1). The last step,
denitrification, was until recently thought to be
the most important microbial process releasing
gaseous nitrogen and thereby counteracting
eutrophication. Nevertheless, an anaerobic mi-
crobial process removing ammonia has been
proposed early on, because in the absence of
oxygen, ammonia is not accumulating in rates
corresponding to the break down of organic
material (Richards et al. 1965) and thermo-
dynamical calculations suggest that it would be
possible for bacteria to gain energy by the
oxidation of ammonia with nitrate or nitrite (Broda
1977). The first direct evidence for the occurrence
of anaerobic ammonia oxidation derived from
wastewater bioreactors, where bacterial popu-
lations oxidizing ammonia with nitrite and pro-
ducing dinitrogen could be grown in enrichment
cultures (Mulder et al. 1995; van de Graaf et al.
1995).

Until now none of the bacteria carrying out the
anammox reaction could be isolated into pure
culture, but much information could be gained
from enrichment cultures. All anammox bacteria

Fig. 6.9 Schematic nitrogen cycle (modified after Shapleigh 2000).
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known so far seem to belong to the Plancto-
mycales (Strous et al. 1999) a group of bacteria,
which harbors relatively few isolated pure
cultures, but seems to be quite abundant in marine
environments. The process of anammox depends
on nitrite, which occurs as an intermediate pro-
duct during nitrification and denitrification
(Fig. 6.9). Thus, anammox should not be seen as
an alternative process to denitrification, but rather
as a short cut in the nitrogen cycle, which still
depends on the production of nitrite from denitri-
fication. During the oxidation of ammonia with
nitrite the highly toxic gas hydrazine (N2H4) is
formed as an intermediate. To avoid a toxification
of the cells with hydrazine the oxidation of ammo-
nia to dinitrogen is restricted to a special cell
compartment called anammoxosome. In the mem-
brane of the anammoxosome a very unusual type
of lipids called ladderanes is found that seem to
be typical for anammox bacteria.

Rates of anaerobic ammonia oxidation in the
environment can be determined by anaerobic
incubation of samples with 15N-labelled ammonia
and recording the formation of labeled dinitrogen
over time. For detection of anammox bacteria in
the environment the ladderane lipids can be used
as biomarkers for the detection of anammox
bacteria. As all anammox bacteria known so far are
phylogenetically closely related, it is also possible
to search for anammox bacteria with molecular
techniques such as fluorescent in situ hybridi-
zation. Although anammox bacteria were first
described from wastewater reactors they were now
also detected in various marine environments like
the Skagerrak (Thamdrup and Dalsgaard 2002), the
Black Sea (Kuypers et al. 2003), the Golfo Dulce
(Dalsgaard et al. 2003) and the Benguela upwelling
area (Kuypers et al. 2005). Thus, we have to
assume that a considerable part of the total bacte-
rial production of dinitrogen is carried out by
anaerobic ammonia oxidation.

6.3.1.4 Nitrogen Isotopes in Marine Sediments

The stable isotope composition of sedimentary
organic matter has widely been used to describe
the state of the oceanic nitrogen cycle as it allows
conclusions on nitrogen sources and transforma-
tion processes (i.e. assimilation or denitrification),
which are subject to isotopic fractionation (i.e.
Francois et al. 1992; Altabet and Francois 1994;
Altabet et al. 1999; Thunell et al. 2004). We will
briefly discuss this issue because early diagenesis

plays a certain, but still somewhat unconstrained
role affecting the isotopic composition of organic
nitrogen compounds. Stable nitrogen isotope
ratios are usually expressed as
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where the standard, atmospheric nitrogen, has a
δ15N of 0‰.

Deep water nitrate seems to have a fairly
constant δ15N-level of about 5‰ (Sigman et al.
2000), which must be the result of almost balanced
inputs and losses. The major input of nitrate is via
nitrogen fixation – the ability of certain prokary-
otes to transform dinitrogen to ammonia –  which
is then incorporated into new biomass. Although
the controls are not completely understood, the
process is of utmost significance in ocean biogeo-
chemistry, because it may enable certain levels of
primary productivity, even in nitrate-starved regions
of the surface ocean. Since nitrogen fixation is
considered to cause only little fractionation it
produces fixed nitrogen with about the same δ15N
as atmospheric nitrogen (i.e. Codispoti et al. 2001).
At present, we have to assume that the major
losses of nitrate are caused by denitrification in
the water column and the sediments. Due to the
preferential use of the light isotope in the course
of mineralization processes deep water nitrate
becomes more enriched in 15N. In suboxic zones of
the water column the total nitrate pool is usually
not depleted considerably by denitrification,

Fig. 6.10 δ15N-values of sediment trap and surface sediment
samples (Arabian Sea) plotted vs. the degradation index (DI).
The correlation indicates isotopic fractionation in the course
of organic matter degradation (Gaye-Haake et al. 2005).
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which allows a significant fractionation and δ15N-
enrichment of the residual nitrate of up to 20‰
(Brandes et al. 1998). On annual time scales, the
uptake of nitrate in the euphotic zone is generally
believed to be complete (Thunell et al. 2004), so
that upwelling of 15N-enriched water masses
causes the production of relatively 15N-rich
organic material. This process is believed to be
particularly enhanced during interglacial rather
than glacial times and gave rise to the use of δ15N
values of sedimentary material as a recorder of
nutrient utilization and paleoproductivity (Altabet
et al. 1995; Thunell and Kepple 2004). The
applicability of this proxy has, however, been
disputed, because of potential alterations of the
primary signal during nitrification and denitrifi-
cation in the sediments. Variations in the δ15N-
record are considered to be dependent on the
preservation of the organic material, hence burial
potential controlled by the sedimentation rate and
the oxygenation of the water column (cf.
Sections 6.3.1.2 and 6.5.2). Whereas in regions
characterized by high particle fluxes and low
bottom water oxygen levels δ15N-values are
indistinguishable from sediment trap material,
poor preservation of organic matter may lead to
increased 15N/14N-ratios of up to 5‰ (i.e. Altabet
et al. 1994; 1999; Thunell et al. 2004). The shift to
higher δ15N-values is mainly attributed to the
decomposition of amino acids, which are the main
carriers of nitrogen in fresh marine detritus and

more susceptible to degradation. Based on the
observation that amino acids are rapidly consu-
med in surface sediments Dauwe et al. (1999)
developed the so-called degradation index (DI),
which has recently been used by Gaye-Haake et
al. (2005) in order to demonstrate the dependence
of the nitrogen isotope composition on the degra-
dation of the sediments. Their data from the
Arabian Sea clearly show the shift from lower
(sediment traps) to higher δ15N-values (sediments)
with increasing degradation (Fig. 6.10).

6.3.2 Input and Redistribution of
Phosphate in Marine Sediments

6.3.2.1 P-Species and Forms of Bonding

Particulate phosphorus reaches marine sediments
in various portions of inorganic and organic
fractions. In a recent study Faul et al. (2005) have
investigated the phosphorus distribution in
sinking oceanic particulate matter from a wide
range of oceanic regimes. Correspondingly, the P
flux to the sediment is typically dominated by
reactive P components including organic P
(∼40%), authigenic P (∼25%), and labile P and/or
phases which are associated with iron
oxyhydroxides (∼21%). With only about 13%, the
non-reactive detrital fraction seems to be less
important. While the most important carrier of
inorganic P are iron oxyhydroxides, which mostly

Fig. 6.11 The benthic phosphorus cycle in deep-sea sediments. a) generalized processes of particulate transport,
release and fixation; b) example of fluxes of P (in 10-4 µmol cm-2d-1) between the pore water and the sediment P
reservoirs as calculated with a model for a deep-water location at the western European continental platform Goban
Spur (after Slomp et al. 1996).
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occur in form of aggregated colloidal suspensions
or coating surfaces around suspended clay
particles (e.g. Krom and Berner 1980; Froelich
1988), the organic fraction consists of organic
matter and fish debris. After their accumulation on
the sediment surface, the primary phases undergo
an intensive redistribution due to early diagenetic
modification, which is mainly affected by the close
coupling of the P-cycling with the geochemistry
of redox-sensitive iron phases (e.g. Froelich et al.
1982; Ruttenberg and Berner 1993; Slomp et al.
1996, 2002, 2004; Filippelli 1997, 2001; Schenau
and de Lange 2001). A simplified illustration of
most relevant processes in the generalised ben-
thic P cycle is given in Figure 6.11.

The major species of dissolved phosphorus in
the marine environment is HPO4

2-. Phosphate is
mainly released to the (pore) water either during
microbial degradation of organic matter and/or

concomitant with the reduction of ferric iron.
Since phosphate cannot be used as an electron
acceptor (cf. next section) under most environ-
mental conditions, the only processes consu-
ming phosphate are 1) the biological uptake for
the formation of new biomass, 2) the adsorbtion
onto particle surfaces or co-precipitation with in-
situ-formed minerals and 3) the formation of
authigenic carbonate fluorapatite (CFA). To
examine the different processes of the P-cycle
and to quantify the transfer and flux rates,
Ruttenberg (1992) developed a selective leaching
procedure which allows the speciation of solid-
phase P into five reservoirs on the basis of their
chemical reactivity. This established analytical
scheme, known as the SEDEX method, was slightly
modified several times to get more detailed infor-
mation about specific phosphorus-containing
phases (e.g. Slomp et al. 1996; Eijsink et al. 1997;
Schenau and de Lange 2000). However, the
following solid phases could be identified as the
quantitatively most important P-reservoirs in
marine sediments: 1) exchangeable or loosely
sorbed P, 2) P bound to ferric oxides and
oxyhydroxides, 3) fish debris, 4) CFA + biogenic
hydroxyapatite + CaCO3-bound P, 5) detrital
apatite of igneous or metamorphic origin, and 6)
organic P. Figure 6.12 shows an example for the
distribution of these reservoirs in surface sedi-
ments from the upwelling area off Namibia. The
main release of both ferrous iron and phosphate
occurs in the suboxic zone at about 2-3 cm
(oxygen penetration depth was determined at
1.5 cm). This indicates that the main source of
both constituents are iron oxyhydroxides being
reduced at this depth. Based on the pore water
profiles, diffusive fluxes are directed upward into
the oxidized surface layer and downward into the
anoxic zone. At the redoxinterface ferrous iron is
oxidized back to oxyhydroxides and phosphate is
adsorbed. The internal P-cycle is closed by
downward bioturbation of mainly in-situ-formed
Fe-bound phosphorus. These processes are
clearly reflected particularly by the distribution
of the exchangeable and reducible P-fractions. In
this specific example the P-sink in the deeper part
of the sediment could not be identified, but may
be related to the authigenic formation of CFA.
Assuming steady state conditions, quantitative
budgeting of flux rates with reservoirs gives
indication that P has to run several hundred
times through this internal cycle across the redox
interface until it is buried. A very impressive

Fig. 6.12 Reservoirs of phosphorus in surface
sediments and accompanying pore water profile of iron
and phosphate. An example from the continental mar-
gin off Namibia (Zabel unpubl. data).
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hypothetical calculation showing the important
role of iron oxyhydroxides for the P-cycle is
given in Section 7.4.3.3. By studying the single
P-reservoirs in marine sediments, Ruttenberg
(1993) calculated the total burial flux of reactive/
bio-available P in the range of 8 – 18.5⋅1010 mol yr-1,
which results in a reassessment of the average
residence time of oceanic phos-phate as 16-
38 kyr.

Finally, it is obvious that the processes descri-
bed above have a strong impact on the sedimen-
tary ratio between organic carbon and phospho-
rus (either as organic P also or as “reactive” P,
which means the sum of authigenic, oxide-asso-
ciated and organic P). While the initial organic
matter can be approximated with a ratio close to
Redfield (106:1), analysis on CFA gave values as
low as 4:1 (Ruttenberg 1993). Therefore, several
studies have discussed variations in the different
types of C/P ratios as indicating temporal changes
in the preservation efficiency of deposited organic
matter (e.g. Ingall and Van Cappellen 1990; cf.
Section 12.3.3), in the intensity of phosphorus
regeneration relative to carbon (e.g. Slomp et al.
2004), or as a generally useful approach to
describe the geochemical behavior of sedimentary
P (Anderson et al. 2001).

6.3.2.2 Authigenic Formation of Phosphorites

There is no consistent definition for the use of the
term phosphorites. Suggestions reach from a limi-
ting P content of 6 wt.% (van Cappellen and
Berner 1988) to a threshold value of 18 wt.% P2O5,
as representative for authigenic and biogenic
phosphate minerals (Jarvis et al. 1994). However,
the formation of secondary P phases from initially
more labile-P in marine sediments (see above) is
one major sink for phosphorus on Earth, because
this general process results in sequestration of P
from the nutrient cycle in the water column (e.g.
Compton et al. 2000).

Research on the benthic phosphorus cycle and
phosphorites formation in particular was inten-
sified especially in the seventies to early nineties
of the last century (e.g. Burnet 1977; Burnett and
Froelich 1988; Burnett and Riggs 1990; Nolton and
Jarvis 1990; Föllmi 1996; Glenn et al. 2000). All
present result clearly substantiate that the pro-
cess of phosphogenesis (= the authigenic forma-
tion of carbonate fluorapatite - CFA) is highly
complex and not completely understood. However,
hydroxy-apatite may be the primary authigenic P-

mineral phase. This initial apatite is forming inter-
mediately under reducing conditions within the
uppermost few centimeters of sediment. Following
a recent study, the metabolic cycle of large sulfur
bacteria may play a key role for this process
(Schulz and Schulz 2005; cf. next Section). Subse-
quent dissolution-re-precipitation processes are
thought to be responsible for the transfer into the
more stable and complex carbonate-fluoride varie-
ty francolite, which is most common in phosphate-
rich sediments and rocks (e.g. McClellan 1980;
Kolodny and Luz 1992). The chemical composition
of francolite is very complex and variable (Jarvis
et al. 1994). Based on radiocarbon dating of
phosphatic pellets from the Peru shelf, their forma-
tion can be very quick, on time scales of only a
few years (Burnett and Froelich 1988). To investi-
gate the different stages of phosphogenesis,
many interdisciplinary studies have been perfor-
med, which include the sequential extractions
mentioned before, the formation kinetics of special
apatite crystals (e.g. Van Cappellen and Berner
1991), or the stable isotopic composition of
sedimentary apatite reflecting the variability of
environmental conditions (e.g. summarized in
Kolodny and Luz 1992). Nevertheless, control
factors of phosphogenesis in different environ-
ments are still under debate, particularly with
regard to the overall benthic C-cycle.

Because CFA is forming at the expense of
organic P, high productive areas or at least
organic-rich sediments favor phosphogenesis.
Therefore, it is not surprising that sites of
present-day phosphorite formation are found
along continental margins where the organic
detrital input is sufficient for intense microbial
activity and suboxic to anoxic conditions close to
the sediment surface. This is particularly the case
in regions of intense coastal upwelling and below
permanent oxygen minimum zones (Fig. 6.13).

6.3.2.3 Release of Phosphate by Bacterial
Activity

In contrast to the different sulfur and nitrogen
species, phosphorus in marine environments
occurs almost exclusively in the oxidation state +5.
Thus, with few exceptions (Schink and Friedrich
2000), bacteria cannot gain energy by the oxida-
tion of reduced phosphorus species and cannot
use phosphate as an electron acceptor. Neverthe-
less, phosphorylation, the addition of a phos-
phate group to another compound, plays a major
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role in the biological energy transfer (e.g. in the
formation of ATP by the phosphorylation of ADP).
Alternatively, energy can be conserved in linear
polymers of phosphate called polyphosphates.
The build-up of polyphosphates requires energy,
whereas ATP is formed in the breakdown.
Although all living organisms contain polyphos-
phates, only some microorganisms accumulate
polyphosphates in larger amounts, visible as com-
pact inclusions (e.g. Kornberg 1995).

Bacterial phosphate accumulation and release
has been studied most thoroughly in wastewater
treatment plants, where polyphosphate accumula-
ting bacteria are used since decades to remove
phosphate. To induce polyphosphate accumulation
in bacteria an anoxic phase has to be introduced
followed by an oxic phase. During the anoxic phase
end products of fermentation such as acetate accu-
mulate in the wastewater. The bacteria take up
acetate and store it, e.g. as PHA (polyhydroxyalka-
noate) inclusions. The energy for the storage of
acetate is gained by the break down of polyphos-
phate, which is accompanied by a release of
phosphate. In the following oxic phase the bacteria
have a suitable electron acceptor, oxygen, to oxidize
PHA and can gain large quantities of energy, which
is partly conserved in the build-up of polyphos-

phate. Consequently, phosphate disappears from the
water and the sludge containing polyphosphate can
be removed (e.g. Mino 2000).

Analogous to wastewater it had been propo-
sed that polyphosphate accumulating bacteria
could also play a role in the phosphorus cycle of
the ocean (Nathan 1993). Particularly, large sulfur
bacteria (Fig. 6.7) have been suspected to play a
role in the formation of phosphorite, as they
occur in the same areas where recent and active
phosphorite formation is observed and have
been found as fossils in phosphorite deposits
(Williams and Reimers 1983). Lately, these
bacteria have been shown to accumulate poly-
phosphate. Thiomargarita, the largest sulfur
bacterium thriving off the coast of Namibia, was
observed to release phosphate into anoxic sedi-
ments leading to an over-saturation of the pore
water with phosphate and rapid precipitation of
hydroxyapatite. Laboratory experiments showed
that the release of phosphate by Thiomargarita
cells could be induced by the addition of acetate
to the medium (Schulz and Schulz 2005). This
might indicate that the processes of bacterial
phosphate accumulation and release in eutrophic
marine environments are similar to those obser-
ved in wastewater.

Fig. 6.13 Locations of present-day phosphorite formation, relic phosphorites at the sea-floor, and zones of
coastal upwelling (modified after Baturin (1982) and Föllmi (1996)).
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6.4 Determination of Consumption
Rates and Benthic Fluxes

6.4.1 Fluxes and Concentration Profiles
Determined by In Situ Devices

One reason for determining changes of oxidant
concentrations or consumption / production rates
in the pore water fraction of a sediment is to
quantify the underlying respiration processes and
to define the reactive horizons. Until today,
however, there is no method to determine oxic
respiration directly. Total oxic respiration has to
be calculated from the difference between the
oxygen demand of the sediment and the amount of
oxygen consumed by oxidation of reduced species
(see above). There are two main methods to
determine diffusive or total oxygen uptake rates in
deep-sea sediments. These are (1) the application
of microelectrodes and optodes to obtain one- or
even two-dimensional (planar optodes) depth
profiles and (2) benthic chambers to reveal total
areal uptake rates (cf. Section 12.2). Clark-type
microelectrodes as they are commonly in use since
more than two decades (e.g. Revsbech et al. 1980;
Revsbech and Jørgensen 1986; Revsbech 1989;
Gundersen and Jørgensen 1990) and the more
recently invented optodes (Klimant et al. 1995)
have become a driving force in performing
measurements of oxygen consumption and
penetration depths in any kind of soft sediment.
Since a couple of years the two-dimensional
oxygen distribution can be determined by so-
called planar optodes (Glud et al. 1996) showing

an excellent correlation with measurements
performed with microelectrodes. For the general
principles of microelectrodes and optodes and
their application in the deep sea we refer to the
description in Section 3.5 and the references
above.

Within the past two decades benthic lander
systems have been increasingly applied in the
deep-sea (e.g. Berelson et al. 1987; Jahnke et al.
1997; Reimers et al. 1992; Wenzhöfer et al., 2001a)
to avoid artefacts resulting from sediment
recovery (see discussion below). Some results
obtained by these devices have already been
shown in Chapter 3. The microelectrodes or
optodes provide information on the oxygen
penetration depth and its depth-dependent
distribution, whereas the benthic chambers
measure total fluxes across the sediment water
interface. There is generally good agreement of
fluxes obtained by both methods (Jahnke et al.
1990; Fig. 12.10), but total fluxes might exceed
calculated diffusive fluxes from oxygen profiles.
While diffusive transport of pore water is the
dominant process in the large area of the
oligotrophic oceans where the input of degradable
organic matter to the sea-floor is low (Sayles and
Martin 1995), this is not the case adjacent to
continental margins. Glud et al. (1994) found that
the total oxygen uptake was always larger than
the diffusive uptake in continental slope
sediments off Southwest Africa. The results
shown in Figure 6.14a indicate a good correlation
between the dry weight of macrofauna and the
total oxygen uptake. Subtracting the diffusive
oxygen uptake - measured with microelectrodes -

Fig. 6.14 Correlation of (a) total oxygen fluxes and (b) total-diffusive oxygen fluxes with the dry weight of
organic macrofauna indicating the effect of macrobenthic activity for benthic respiration processes (adapted from
Glud et al. 1994). Broken lines are fitted by eye.



6 Benthic Cycling of Oxygen, Nitrogen and Phosphorus

224

from the total uptake rates reveals values close to
zero for stations with a low dry weight of
macrofauna obviously increasing with increasing
population density (Fig. 6.14b). On one hand, the
difference between both fluxes provides a measure
of bioirrigation meaning that there is additional
transport across the sediment-water interface due
to active pumping of organisms and a higher
oxygen demand due to an increased surface area
at additional sites where oxygen is consumed
(worm burrows etc.). On the other hand, the respi-
ration by the macro- or meiofauna itself increases
the oxygen consumption (Glud et al. 1994; Heip et
al. 1995; Soetaert et al. 1997). Since the chamber
system provides information on total mineraliza-
tion rates and fluxes, and the profiling lander on
the depth distribution of solutes and redox

processes, the application of both lander systems
is required to properly investigate the oxygen
demand and the pathways of oxygen in the
sediment.

The determination of in-situ fluxes of nitrate is
comparatively limited. Although there are
electrodes for the determination of micro-
concentration profiles in form of biosensors
(Larsen et al. 1996), they are not yet suitable to be
used on lander systems in the deep sea. The
measurement of total nitrate fluxes by benthic
chambers in continental slope sediments off Cali-
fornia is shown in Figure 3.24 (Jahnke and
Christiansen 1989). At this site, nitrate fluxes are
directed into the sediment indicating strong
denitrification supported by very low oxygen
concentrations in the overlying bottom water.

Fig. 6.15 Concentration versus time plots of different solutes measured with benthic chambers in the central
equatorial Pacific (from Hammond et al. 1996). Black vertical bars indicate bottom water values.
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Under normal deep-sea oxygen conditions, the
nitrate flux is generally directed out of the sediment
due to nitrification and lower denitrification as
shown by results reported by Hammond et al.
(1996) from measurements in the central equatorial
Pacific (Fig. 6.15). It is further indicated that fluxes
of oxygen, silicate, or ∑CO2 are easier to deter-
mine than nitrate or, particularly, phosphate,
because of the magnitude of concentration
change over time. Phosphate in Figure 6.15 shows
large scatter and does not allow a reliable flux
calculation. The differences in the order of
magnitude result from the reaction stoichiometry
of organic matter decomposition (Eq. 6.1).
Additional processes, like the dissolution of
biogenic opal and calcium carbonate in the
sediments, is of further significance for the
parameters silicate and alkalinity. Whereas silicate
fluxes depend on the amount and the surface area
of soluble opal, the degree of silica undersaturation
in pore waters, and the content of terrigenous
components (cf. Section 12.3.3), variations of
alkalinity and ∑CO2 fluxes are controlled by
respiratory production of CO2 and dissolution of
calcium carbonate (cf. Section 9.3.2).

The result of the phosphate measurement
shown in Figure 6.15 indicates that flux chamber
measurements are restricted to a certain number of
measurable parameters. Even more, this is true for
profiling lander systems. Apart from oxygen, only
pH-, pCO2-, H2S and Ca-electrodes have been
successfully employed on in situ lander systems
(Cai et al. 1995; Hales and Emerson 1997;
Wenzhöfer et al. 2001a; de Beer et al. 2005). There
is, however, another microelectrode technique

described by Brendel and Luther (1995) which has,
however, not yet been tested in situ. This volta-
mmetric microelectrode technique allows the
simultaneous determination of the most characte-
ristic redox species: oxygen, manganese, iron and
sulfide. Results from continental slope sediments
of northeast Canada revealed clear and undis-
turbed vertical redox sequences, which is usually
not the case when different methods are applied
(Luther et al. 1997, 1998).

6.4.2 Ex-Situ Pore Water Data from
Deep-Sea Sediments

Mostly, solutes are still determined ex-situ by
extraction of pore water from multicorer or box
corer samples (see Chapter 3). Additionally,
numerous ex-situ measurements of oxygen and
nitrate exist which were carried out by onboard
core incubations or microelectrode measurements.
Generally, the determination of a dissolved
species in water samples does not pose a problem,
if sampling is handled carefully and, in specific
cases, contact with atmospheric oxygen is
avoided. Manifold problems arise, however, when
a sediment sample is retrieved from some thousand
meters below the sea surface and subsequently
during the extraction of pore water onboard a ship
which leads to changes in pore water concen-
trations compared to in situ conditions. Such
effects can be caused either by decompression
and/or transient heating of a sample during its
transport through the water column. These prob-
lems arise because of the large temperature dif-
ference between deep water and surface water in

Fig. 6.16 Plots of (a) the ratio between diffusive oxygen uptake rates (DOU) ex-situ and in-situ and (b) oxygen
penetration depth ex-situ and in-situ versus water depth from stations off the continental slope off Southwest Africa
(from Glud et al. 1994). Solid lines indicate linear regressions. With increasing water depth fluxes appear to be
overestimated and oxygen penetration underestimated when measured ex-situ.
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most areas of the global ocean. With regard to
oxygen a possible intensification of organic matter
decay, triggered by the temperature increase or
the lysis of cells, might result in a reduction of the
oxygen penetration depth due to higher oxygen
consumption. This effect has intensely been
studied by Glud et al. (1994) and Wenzhöfer and
Glud (2002) who could show that there might be
significant discrepancies between in-situ and ex-
situ measured fluxes and oxygen penetration
depths. This effect is illustrated in Figure 6.16 and
shows that the difference obviously increases
with increasing water depth. At or above 1,000 m
the sampling effect seems to be more or less
negligible.

In analogy to oxygen, such artifacts are
believed to exist also for nitrate profiles deter-
mined ex-situ. The occurrence of increased
(compared to Redfield stoichiometry in Eq. 6.1)
subsurface nitrate concentrations has been
described in a number of studies (e.g. Hammond et
al. 1996; Martin and Sayles 1996), but is mostly
attributed to the centrifugation method in pore
water extraction (see Section 3.3.2). Artificially
increased subsurface nitrate concentration would
consequently lead to an overestimation of benthic
fluxes of nitrate. Berelson et al. (1990) and
Hammond et al. (1996) found evidence for increa-
sed nitrate fluxes after pore water centrifugation
compared to lander measurements, which were up
to a factor of 3, but also agreement between both
methods for quite a number of stations was found.
However, the possibility of low C/N organic matter
or oxidation of reduced nitrogen species
(diffusing upwards from deeper layers) can be
important natural factors increasing nitrate
concentrations deviating from the general
expected stoichiometry. Following results of
Luther et al. (1997) the amount of subsurface
nitrate production due to nitrification can also be
regulated by the manganese oxide content of the
sediment. As discussed in Section 6.3.2.3 high
MnO2 concentrations favor a catalytic reduction
of nitrate to N2 already in the oxic zone of the
sediment so that nitrate peaks only occur when
the solid-phase manganese content is low.

A further aspect of decompression that should
be kept in mind is the degassing of CO2 and the
resulting precipitation of CaCO3, which might
affect pore water concentrations of phosphate by
adsorption or co-precipitation (Jahnke et al. 1982).
This effect can even imply negative fluxes as dis-
cussed below (see Section 6.5.1).

In general, fluxes, which are calculated on the
basis of ex-situ data should be interpreted with
caution; the overall result, however, in most cases
reveals a reasonable approximation to real con-
ditions (cf. Section 12.2).

6.4.3 Determination of Denitrification
Rates

The downward flux of nitrate (e.g Fig. 6.5)
indicates the depth of active denitrification, but is
no measure for the total rate of denitrification. As
mentioned above, denitrifying bacteria are facul-
tative anaerobic and denitrification is generally
located directly below the oxic zone (Christensen
et al. 1989). The shape of a nitrate profile depends
on the total rate of nitrification and the denitri-
fication rate. Considering the example shown in
Figure 6.5, the fit of the measured nitrate profile
was achieved by determining an indirect nitrifi-
cation rate (coupled oxidation and nitrification as
described by Equation 6.1 and the C/N ratio) and
denitrification occurring with a distinct rate at a
depth of about 3 cm. A reduction of the denitri-
fication rate would result in a greater nitrate
penetration depth, i.e. not all the nitrate can be
consumed in this depth zone. On the other hand,
an increase of the denitrification rate would lead
to a depression of the nitrate maximum and
therefore reduce upward and downward fluxes,
and finally induce a total nitrate flux from the
bottom water into the sediment. To clarify these
interactions we plotted three nitrate profiles from
different regions of the South Atlantic in
Figure 6.17. Two profiles indicate high respiration
rates with a nitrate penetration depth of approxi-
mately 3 cm, but a distinct peak is visible only at
one station. The station with the nearly linear
gradient into the sediment is indicative for strong
denitrification. The third profile shows a low
gradient into the bottom water which is due to
nitrification and remains nearly constant with
depth indicating that denitrification does not
occur close to the sediment surface.

Depletion of nitrate and the formation of
dinitrogen are, however, not exclusively coupled
to denitrification, since the microbially mediated
reduction utilizing reduced species like Mn2+ or
Fe2+ might occur. Based on field observations, a
number of studies invoke the reduction of nitrate
by Mn2+ to form N2 instead of organic matter
respiration (Aller 1990; Schulz et al. 1994; Luther
et al. 1997,1998).
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The direct determination of denitrification rates
has been carried out by a number of different
methods which all have certain advantages and
restrictions. It is beyond the scope of this chapter
to describe all of these methods in detail so that
we will only give a short summary of the general
principles. A more detailed overview of this
subject can be found, for example, in Koike and
Sørensen (1988); Seitzinger et al. (1993); and Kana
et al. (1998).

The most important methods of measuring
denitrification are (1) the detection of totally
produced N2 gas by incubation, (2) isotope-labe-
ling methods with 15N and 13N, and (3) the acety-
lene (C2H2) inhibition technique.

(1) The first method aims at measuring the total
production of N2 as equal to the rate of denitri-
fication (Eq. 6.6-6.8) by sediment incubation (Seit-
zinger et al. 1984; Devol 1991). At present, this is
thought to be the best method to accurately deter-
mine rates of overall denitrification, although the
contamination with atmospheric N2 is possible

during long incubation periods and thought to be
the main restriction (Koike and Sørensen 1988;
Seitzinger 1988). More recently, however, the
technique of membrane inlet mass spectrometry,
which is able to detect small changes of dissolved
nitrogen with high temporal resolution and with-
out perturbation of the sediment has been deve-
loped (Kana et al. 1994, 1998; Hartnett and Seit-
zinger 2003). Perturbations by atmospheric nitro-
gen are avoided by detecting changes of N2/Ar
ratio relative to seawater standards.

(2) The intention of the isotope methods is to
add 15NO3 or 13NO3 to the nitrate pool of the super-
natant water during incubation and to measure the
15N and 13N content of the total amount of pro-
duced N2. As the half-life of 13N is 10 minutes, this
method is only of limited use. The 15N method
already applied by Goering and Pamatmat (1970) to
marine sediments off Peru is, in contrast, widely
accepted and was used in a number of recent
incubation studies of shallow marine and fresh-
water environments (e.g. Nielsen 1992; Rysgaard
et al. 1994). This so-called ion-pairing method
(Nielsen 1992) allows the determination of the
total rate of denitrification and its dependence on
the nitrate concentration in bottom water. Addi-
tionally, a number of authors (e.g. Nielsen 1992;
Rysgaard et al. 1994; Sloth et al. 1995) believe that
it also enables to distinguish between the source
of nitrate, either as coming directly from the
bottom water or from nitrification. This, however,
has caused an intense discussion regarding the
potential of the method and the benefits of its
performance (Middelburg et al. 1996bc; Nielsen et
al. 1996).

(3) At last, the C2H2 inhibition technique takes
advantage of the property of acetylene to block
the reduction of N2O to N2 after it is injected into
the sediment. The total amount of N2O produced
is then the measure for the denitrification rate as it
is easy to determine by gas chromatography
(Andersen et al. 1984) or by microsensors (Chris-
tensen et al.  1989). The advantage of this
method is that analyses can be carried out ra-
pidly and sensitively. Problems are: (a) N2O re-
duction is sometimes incomplete, (b) a homo-
genous distribution of C2H2 in the pore water is
difficult to maintain, (c) C2H2 inhibits nitrifi-
cation in the sediment meaning that the coupled
system (nitrification / denitrification) might be
seriously affected due to the applied method, and
(d) might lose its inhibitory properties in the
presence of hydrogensulfide (Sørensen et al. 1987;

Fig. 6.17 Typical nitrate concentration profiles of
surface sediments from different productivity regions in
the South Atlantic Ocean. The profiles from the conti-
nental slope of the Argentine and the Cape Basin indicate
denitrification at about 3 cm. The profile from an oligo-
trophic equatorial site shows no denitrification.

6.4 Determination of Consumption Rates and Benthic Fluxes
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Fig. 6.18 Regional distribution of benthic nitrate (a) and phosphate (b) release rates in the South Atlantic below
1,000 m water depth (from Hensen et al. 1998).

(a)

(b)
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Koike and Sørensen 1988; Hynes and Knowles
1978; Seitzinger 1988).

The application of acetylene and nitrogen
labeling methods usually results in the determi-
nation of lower denitrification rates when com-
pared to total nitrogen fluxes (Seitzinger et al.
1993; cf. Section 6.5). Apart from the above
restrictions inherent to the methods themselves,
the recently published concept of Luther et al.
(1997) provides an additional explanation for the
observed discrepancy. They tested the thermo-
dynamic properties of several redox reactions and
found evidence for a catalytic short circuit for the
coupled process of nitrification-denitrification
within the oxic zone (Eq. 6.12.). Organic nitrogen
and ammonia released during oxic respiration are
therefore oxidized to N2 by MnO2, instead of being
further oxidized to NO3.

2 NH3 + 3 MnO2 + 6 H+ → 3 Mn2+ + N2 + 6 H2O

(6.12)

This process may outweigh nitrification in
manganese-rich surface sediments and circum-
vents denitrification. Elevated N2 fluxes without
increasing denitrification rates and even N2
production in oxidized sediments as observed by
Seitzinger (1988) may be explained by this
process.

6.5 Significance and Quantitative
Approaches

After the description of the general biogeo-
chemical processes controlling the distribution of
oxygen and nitrate in marine sediments, including
the possibilities and limitations of determining
these inorganic compounds in the deep-sea, the
following section will give an overview of the
dimensions of their fluxes and their distribution in
different marine environments.

6.5.1 Estimation of Global Rates and
Fluxes

The basic mechanism inducing microbial activity
is the supply of organic matter to the seafloor and
this is generally coupled to surface water produc-
tivity. Most of the highly productive areas in the
global ocean are adjacent to the continents, so

that we can expect a decrease of respiration inten-
sity from the coastal marine environments over
the continental shelves and slopes into the deep-
sea. This becomes evident when we look at the
data compiled by Middelburg et al. (1993) which
indicate that 83% mineralization and 87% burial in
marine sediments occurs in the coastal zone
occupying only ~9% of the total ocean area. This
means that the sediments with the highest respi-
ration rates also have the highest burial efficiency
in marine environments. For a more detailed
discussion of this subject see also reviews by
(Henrichs and Reeburgh 1987; Henrichs 1992;
Canfield 1993). As shown in Figure 6.3 the organic
matter supply is not only a function of produc-
tivity, but also of water depth generally amplifying
this gradient between shallow and deep water
environments.

Fluxes of oxygen and nitrate, therefore, vary
over several orders of magnitude between oligo-
trophic open ocean areas and continental shelf and
slope areas. This is about 50 to 6,000 mmol m-2 yr-1

for oxygen and -600 to 380 mmol m-2 yr-1 for nitrate
(e.g. Devol and Christensen 1993; Glud et al. 1994;
Berelson et al. 1994; Hammond et al. 1996; Luther
et al. 1997; Hensen et al. 1998; Wenzhöfer and Glud
2002) where negative nitrate fluxes indicate fluxes
into the sediment. The above minimum and
maximum values do not permit differentiation
between total and diffusive or in situ and ex situ
fluxes. Figure 6.18 reveals the distribution of
nitrate and phosphate fluxes released from
sediments below 1,000 m water depth in the South
Atlantic (Hensen et al. 1998) based on about 180
ex-situ concentration profiles. Averaged fluxes
vary between 10 – 180 mmol m-2 yr-1 for nitrate and
(-2)-11 mmol m-2 yr-1 for phosphate (where
negative values are considered to be artifacts due
to decompression and warming, cf. 6.3.2.2). Based
on this compilation the total annual release for the
whole area (about one tenth of the global deep
ocean) is about 1.6 1012 mol NO3  yr-1 and 3.5
1010 mol PO4  yr-1.

Global denitrification in marine sediments has
been estimated by Middelburg et al. (1996a) to be
about 1.64 – 2.03⋅1013 mol N yr-1 with a contribution
of 0.71⋅1013 mol N yr-1 of shelf sediments. This
model-based re-estimation produced values which
are up to 3 to 20 times higher than those pre-
viously estimated by a number of authors in the
mid-1980s. The predicted denitrification rates,
however, are in the range of those derived from
literature, and the total contribution to organic

6.5 Significance and Quantitative Approaches
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matter mineralization (7-11%) is well within the
range of current estimates (see compilation in
Middelburg et al. 1996a). Even higher rates of
3.2⋅1013 mol N yr-1 have been estimated more
recently by Codispoti et al. (2001) who explained
this upward correction mainly by the need of
balancing the isotopic nitrate pool at δ15N of
about 5‰ (Sigman et al. 1999, 2000).

Total denitrification rates vary between
0.4 mmol m-2yr-1 in the deep-sea (Bender and
Heggie 1984) and 1,200 mmol m-2 yr-1 (measured by
the N2 method) in continental margin sediments
(Devol 1991) which is up to a factor of two higher
than otherwise indicated by the highest fluxes of
nitrate into the sediments. For estuarine and
coastal areas Seitzinger et al. (1988) have summarized
average rates between 440-2,200 mmol m-2 yr-1 with
highest rates of up to 9,000 mmol m-2 yr-1. However,
considering the suggestions of Luther et al. (1997)
a high amount of N2 fluxes may be due to ammonia
oxidation by MnO2 in the oxic zone of the
sediment bypassing denitrification and thus
organic matter decay. If their estimate is correct
that this process could contribute to up to 90% of
N2 production in continental margin sediments a
careful evaluation and possibly a re-estimation of
published denitrification rates for this environ-
ment is required.

6.5.2 Variation in Different Marine
Environments: Case Studies

We already emphasized the importance of oxic
respiration over other pathways in the deep-sea.
Denitrification (or related processes) only account
for a few percent of the carbon oxidation rate by

oxic respiration, provided that oxygen is suffi-
ciently available. In oxygen-depleted waters, the
proportions can be dramatically shifted and deni-
trification might become an important pathway.
Figure 6.19 represents data from different oceanic
regions as compiled by Canfield (1993) where the
ratio of carbon oxidation by oxygen and nitrate is
plotted as a function of the oxygen concentration
in bottom water. It clearly shows that denitrifi-
cation becomes more important than oxic respi-
ration below oxygen concentrations of about
20 µmol l-1.

To illustrate the general trend of decreasing
respiration processes from the continental margin
to the deep-sea, Figure 6.20 shows the results of
in situ oxygen microelectrode measurements for

Fig. 6.19 Ratio of carbon oxidation by denitrification
and oxic respiration as a function of bottom water oxy-
gen content (after Canfield 1993).

Fig. 6.20 Diffusive oxygen fluxes (a) and oxygen penetration depths (b) for a number of sites in the South Atlantic
and the Canaries (from Wenzhöfer and Glud 2002). Oxic respiration decreases with increasing water depth resulting
in higher oxygen penetration into the sediment.
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the total South Atlantic as compiled by Wenzhöfer
and Glud (2002). Both, the diffusive oxygen flux
and the oxygen penetration depth at these
stations can be clearly described as a function of
water depth, even though scattering data points
indicate some regional variability. The evident
close correlation of diffusive oxygen flux and oxygen
penetration depth is depicted in Figure 6.21.

Since microelectrode measurements are limited
to a few centimeters of sediment depth, oxygen
penetration depths have been difficult to obtain in
strongly oligotrophic areas until the late 1990s.
The invention of optode techniques, however,
allows measurements up to several decimeters into
the sediment (Fig. 6.22). The example is from a
station located in the oligotrophic western equa-
torial Atlantic.

There is a number of studies that confirm the
trend indicated in Figure 6.20, but on a regional
scale there is much more variability, so that a
simple relation between oxygen or nitrate fluxes
and water depth cannot be found. The problem of
regional flux variability will be dealt with further in
Chapter 12, but generally, there is a high degree of
small-scale variability related to sediment surface
topography and the inhomogeneous distribution
of easily degradable organic matter. Such varia-
bility can be observed when several oxygen micro-
profiles are recorded on a given surface area of
about 10 cm2 (the area is determined by the con-

struction of the device; cf. Fig. 3.24) during lander
deployments. This often reveals conspicuous
differences in the shape of the profiles as well as
the oxygen penetration depth. A more sophis-
ticated method used to determine vertical and
lateral oxygen distribution in sediments on a
millimeter scale is provided by planar optodes
(Glud et al. 1996; Wenzhöfer and Glud 2004). Their
data show an excellent resolution of oxygen
distribution within the sediment and the diffusive
boundary layer. Furthermore, it shows that varia-
tions are due to differences in the surface topo-
graphy. Another reason might be that other path-
ways, like denitrification or sulfate reduction,
become more important in areas characterized by
high sediment accumulation rates which are
associated with a large input of degradable orga-
nic matter.

A general relation of the benthic oxygen flux to
the availability of oxygen in the bottom water (as
the limiting oxidant) and to the organic carbon
content in the surface sediments (as limiting
phase for respiration processes has been esta-
blished by Cai and Reimers (1995). The highest
oxygen fluxes across the continental margin of the
Northeast Pacific were measured on the lower
continental slope where the conditions for oxic
respiration were optimal, because of the quanti-

Fig. 6.21 Diffusive oxygen uptake vs. oxygen penetration
depths for the same sites as shown in Fig. 6.20. The corre-
lation follows the function found by Cai and Sayles (1996).

Fig. 6.22 Oxygen concentration profile measured with an
in situ optode technique (after Wenzhöfer et. al. 2001b).

6.5 Significance and Quantitative Approaches
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tative ratio between oxidant and organic matter
availability (Fig. 6.23). On the upper slope, organic
matter is available in excess, but oxygen is the
limiting phase and reduces the total oxygen
uptake in this area. The opposite situation can be
observed for the deep ocean. Cai and Reimers
(1995) also developed an empirical equation
representing this obvious relationship between
oxygen flux on the one hand and oxygen bottom
water concentration and surface organic carbon
content on the other hand with:

[ ]
[ ]( )BW

BW

O
OTOC

FO
2

2
2 126

][
+

⋅⋅
=

π
(6.13)

where FO2 is the oxygen flux in mmol m-2 yr-1,
[TOC] is the concentration of organic matter in
wt.% (dry sediment) and [O2]BW is the oxygen
concentration in bottom water (in µM).

More recently Seiter et al (2005) refined this
approach based on a much larger data set:
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where k1, k2 (both in mmol m-2 yr-1), and k3 (in
wt%) are rate constants for the decay of organic
matter and kox (in µM) is the saturation constant
of oxygen in the bottom water.

Similarly, their approach considers depleted
oxygen levels in the bottom water and the
accumulation of organic matter above a certain
threshold value [TOC]lim, which has a global mean
of about 0.6 wt.% (Seiter et al. 2005).

In regions without limitation by bottom water
oxygen depletion, as prevailing in large portions
of the Southern and Northern Atlantic, Equa-
tion 6.14 can be simplified to

(6.15)
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Both relations given above have been
successfully applied to data sets in the Northeast
Pacific and the Atlantic (cf. Section 12.5.2 and
Fig. 12.18).

Looking at the above situation, we need to
emphasize that any confusion with the total rate of
carbon oxidation – which is probably higher in the
upper slope sediments – must be avoided. As

stated previously, the mineralization rate and the
burial rate are correlated to the input of organic
carbon input, so that areas with the highest depo-
sition of organic matter consequently have highest
mineralization rates, but also the highest burial
potential (Fig. 6.6). A further constraint for the stan-
dardization of empirical relations as given by Equa-
tion 6.12 or 6.13 is that temporal constancy, namely
steady-state conditions, are required. The time
dependent variability of early diagenetic proces-

Fig. 6.23 Distribution of benthic oxygen fluxes across
the continental slope in the Northeast Pacific related to
(a) oxygen bottom water concentration and (b) organic
carbon content in the surface sediments. Highest oxygen
respiration occurs at the lower continental slope. Solid
circles were calculated by applying Equation 6.12 (after
Cai and Reimers, 1995).

(b)

(a)
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ses, however, has been identified even in deep-
sea sediments (e.g. Smith and Baldwin 1984). The
important question in this regard is: How fast
does oxic respiration react to the input of labile
organic matter? If the reaction constant is high,
organic matter will be quickly recycled at the
sediment surface. If furthermore, the input of
organic matter is episodic or seasonal, a highly
variable oxygen flux at a given time interval might
occur. Since organic particles are subject to burial,
mixing, and other respiratory processes the
surface content will always result in a more or less
time-integrated value that does not necessarily
reflect the oxygen flux at the time of a single
measurement.

More recently, Soetaert et al. (1996) demon-
strated the dependence of degradation rates of
different mineralization pathways, as well as
oxygen, nitrate, and other fluxes on seasonal
variations in organic matter deposition and its
reaction rate. Some of the model results com-
pared to the measured carbon flux to the
sediment and the oxygen uptake rates are plotted
in Figure 6.24. The study was based on data
derived from box corer and benthic chamber
deployments in the abyssal Pacific and covered a
time span of more than two years. The carbon
flux function was derived from sediment trap data
and sedimentation rates, whereas oxygen fluxes
were obtained by the adaptation of total mine-
ralization rates of organic material arriving at the
sediment surface (and a number of other input
parameters). A higher rate would account for

variation as reflected by the carbon flux curve,
whereas a low rate would continually reduce the
seasonal variability.

A situation different from that in the Northeast
Pacific which does not comply to a general
relationship can be found in the Argentine Basin.
As shown in Figures 6.18 and 12.14, distribution
maps of nutrient release from deep-sea sediments
in the South Atlantic indicate high mineralization
rates in this area. Figure 6.23a shows diffusive
nitrate fluxes on several transects across the
continental slope in front of the Rio de la Plata
mouth. The highest release rates of nitrate were
detected at intermediate and low depths of the
slope. In contrast to the situation in the North-
west Pacific, there is no oxygen limitation in the
bottom water of the Argentine Basin, suggesting
that other processes must be responsible for the
observed flux distribution. In this case, it is
assumed that intense downslope transport pro-
cesses deliver large amounts of sediments and
organic matter to the lower slope where most of
the degradable material is deposited, whereas the

Fig. 6.24 Model results of Soetaert et al. (1996) for a site
in the abyssal Pacific. The curve of mineralization rates
(oxygen fluxes) is smoother and shows a slight shift com-
pared to the sedimentary carbon flux caused by the effective
reaction kinetics. Squares indicate oxygen fluxes determined
on the basis of benthic chamber and box corer data.

Fig. 6.25 Plot of diffusive benthic nitrate fluxes against
(a) water depth and (b) organic carbon content in surface
sediments off the Rio de la Plata mouth (Argentine Basin).

6.5 Significance and Quantitative Approaches
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upper slope surface sediments are partly depleted
in organic carbon (Hensen et al. 2000; cf. section
12.3.2). This is indicated by the good correlation
of nitrate fluxes with organic carbon content in the
surface sediments (Fig. 6.25b).

The above examples have shown that there are
large discrepancies between benthic biogeoche-
mical processes in areas of high and low produc-
tivity, but there are no simple relationships or
master variables to correlate benthic fluxes and
mineralization rates with primary productivity or
sediment parameters. However, the quantitative
coupling between these processes will be a main
objective of future research (cf. Chapter 12).

6.6 Summary

In this chapter we have summarized the general
availability of oxygen, nitrate and phosphate in
the oceans and aspects of their significance in the
biogeochemical cycles of marine sediments. Oxic
respiration is by far the most important pathway
of organic carbon in deep-sea sediments and
significantly determines the recycling of organic
matter introduced onto the sediment surface. Even
if some uncertainty remains, benthic oxygen fluxes
reveal probably a reasonable approximation to the
total carbon oxidation rate under deep-marine
conditions. However, benthic fluxes vary conside-
rably in the various ocean basins and the inter-
actions between all parameters controlling benthic
biogeochemical activities are not yet completely
understood. Above, we showed some examples in
which benthic activity deviates from the generally
expected situation as suggested by export fluxes
from the surface waters. We further elaborate
these concepts in Chapter 12 where we summarize
existent approaches for the regionalization of
benthic fluxes and present methods how to access
mineralization processes in surface sediments of
the deep-sea globally and arrive at a definition of
benthic biogeochemical provinces.
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6.7 Problems

Problem 1

Explain why oxygen consumption can be used as
a measure for the sum of mineralization processes
occurring in the sediment. Why is this - strictly
speaking - not correct, but provides feasible
results? In which areas of the seafloor would this
method fail?

Problem 2

Explain the terms carbon limited and oxidant
limited and give examples, where you would
expect carbon- and oxidant-limited diagenesis.

Problem 3

Denitrification is a major pathway of carbon
degradation in sediments of shallow-marine
continental margin areas. Why is it so important
for biogeochemical element cycles in the ocean,
particularly in terms of regulation of nutrient
levels and primary productivity?

Problem 4

Would you expect a higher (than Redfield) Corg./Porg.
ratio in marine sediments under oxic or anoxic
bottom water conditions?

Problem 5

Under which environmental conditions would you
expect anammox (anaerobic ammonia oxidation) to
be an important process?
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7 The Biogeochemistry of Iron
RALF R. HAESE

7.1 Introduction

For our understanding of interactions between
living organisms and the solid earth it is fascina-
ting to investigate the reactivity of iron at the
interface of the bio- and geosphere. Similar to
manganese (chapter 11) iron occurs in two valence
states as oxidized ferric iron, Fe(III), and reduced
ferrous iron, Fe(II). Two principal biological pro-
cesses are of importance: Microorganisms such as
magnetotactic bacteria and phytoplankton (see
chapter 2 and section 7.3) depend on the uptake
of iron as a prerequisite for their cell growth (assi-
milation). Others conserve energy from the reduc-
tion of Fe(III) to maintain their metabolic activity
(dissimilation). In this case ferric iron serves as an
electron acceptor which is also termed oxidant.
Apart from biotic reactions manifold abiotic reac-
tions occur depending on thermodynamic and ki-
netic conditions. Due to redox-reactions dissolu-
tion and precipitation of iron-bearing minerals may
result which has great influence on the sorption/
desorption and co-precipitation/release behavior
of various components such as phosphate and
trace metals. From a geologic point of view it is
striking to find discrete iron enriched layers such
as black shales or strata of the banded iron forma-
tion, which challenge geochemists to reconstruct
the environmental conditions of their formation.

7.2 Pathways of Iron Input
to Marine Sediments

Within the continental crust iron is the fourth
most abundant element with a concentration of
4.32 wt% (Wedepohl 1995). It is transported to
marine sediments by four major regimes: fluvial,
aeolian, submarine hydrothermal, and glacial

input. For the investigation of iron reactivity it is
important to differentiate regions of predominant
input regimes since characteristic reactions occur
at the interface of the transport regime and the
marine environment. For the chemistry of hydro-
thermal fluids and reactions during mixing with
seawater refer to chapter 13.

7.2.1 Fluvial Input

In Figure 7.1 averaged concentrations of dissol-
ved and particulate iron, major fluxes and the
respective predominant reactions are shown.
Dissolved iron concentrations in averaged river
and marine water clearly show less solubility in
marine relative to river water. In contrast, the
concentration of particulate iron does not change
significantly and is similar to the average conti-
nental crust concentration. This is also reflected
in the conservative behavior of iron under chemi-
cal weathering conditions. Along with Al, Ti and
Mn, Fe belongs to the refractive elements
(Canfield 1997). Note that in Fig. 7.1 the given
value for particulate iron concentration in marine
sediments is derived from pelagic clay sediments.
Biogenic constituents such as carbonate and opal
may significantly dilute the terrigineous fraction
(chapter 1) and thus decrease the iron concen-
tration.

The decrease of dissolved iron concentrations
can be traced within estuarine mixing zones. With-
in river water, dissolved iron is mainly present as
Fe(III)oxyhydroxide, which is stabilized in collo-
idal dispersion by high-molecular-weight humic
acids (Hunter 1983). Due to increasing salinity and
thus increasing ionic strength the colloidal disper-
sion becomes electrostatically and chemically
destabilized which results in the coagulation of
the fluvial colloids. This process is reflected in
Fig. 7.2 showing dissolved iron along a transect
off the mouth of the Congo (formerly: Zaire) river
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towards the open ocean. With increasing salinity
the concentration of dissolved iron decreases
exponentially. These results also point out the
operatively defined differentiation of dissolved
and particulate phase. The concentration of dis-
solved iron depends on the pore size of the used
filters. Commonly, particles smaller than 0.4 µm are
considered to be ‘dissolved’.

Fig. 7.2 Dissolved iron concentrations of surface water
from a transect off the Congo River towards the open
ocean. Pore sizes of 1.2, 0.45, 0.22, 0.05 and 0.025 µm
(according to graphs from above downward) were used to
separate particulate from dissolved phase (adopted from
Figuères et al. 1978).

Fig. 7.1 Global fluxes of dissolved (Fediss), highly reactive iron (FeHR) and total iron (FeT) from riverine, glacial,
atmospheric and hydrothermal sources. The estuarine mixing zone serves as a major sink for dissolved and highly
reactive (dithionite-soluble) iron. Fluxes and concentrations are given according to Poulton and Raiswell (2002). The
atmospheric dissolved iron flux was taken from Duce et al. (1991).
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Apart from being a zone of coagulation the
estuarine and coastal zone represents the most
important sink for dissolved and particulate iron
of fluvial origin. A recent study by Poulton and
Raiswell (2002) provides quantitative evidence for
the important role of estuaries for iron trans-
formations at the Earth’s surface (Fig. 7.1): The
high degree of chemical weathering in the
catchments of rivers discharging into the global
ocean leads to a high proportion of highly reac-
tive iron (FeHR,dithionite soluble) relative to total iron
(FeT), with FeHR/FeT = 0.43. In contrast, glaciers
discharge sediments which were formed pre-
dominantly under physical weathering conditions
and reveal a mean FeHR/FeT of 0.11. Approximately
40 % of the riverine highly reactive iron fraction is
retained in the estuarine and near-coastal zone,
which, together with the low FeHR proportion in
glacial sediments leads to a FeHR/FeT of 0.26 in
marine sediments. The iron inputs from atmo-
spheric and hydrothermal sources are relatively
small, i.e. less than 10 % of FeHR and FeT as
compared to the riverine input (Fig. 7.1).

7.2.2 Aeolian Input

In contrast to the fluvial transport regime the
aeolian transport is highly efficient for the depo-
sition of terrigenous matter in the deep sea.
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Donaghay et al. (1991) published a global map of
atmospheric iron flux to the ocean (Fig. 7.3).
Among others the North African desert and Asia
can be identified as major dust sources. Asian
loess is transported across the northern Pacific
making up to 100 % of the terrigenous fraction of
pelagic sediments (Blank et al., 1985) and North
African dust is spread out over the north equa-
torial Atlantic eventually reaching the Caribbean
Sea (Carlson and Prospero 1972) and the northern
coast of Brazil (Prospero et al., 1981). Iron settles
out of wind-driven air layers by wet deposition
which can be traced in equatorial areas (Murray
and Leinen 1993) where a distinctively high
humidity occurs within the Inner Tropical Conver-
gence Zone (ITCZ). Therefore, a characteristic
high deposition of iron occurs at the equatorial
Atlantic (Fig. 7.3).

As iron is discussed as limiting nutrient for
phytoplankton productivity of distinct oceanic
regions (chapter 7.3) it is important to investigate
the flux, degree of solubility and the bioavai-
lability of the introduced iron into open ocean
surface water. It has long been known that sorp-
tion onto suspended particles is highly efficient in
the removal of trace metals from solution
(Krauskopf 1956) resulting in a decrease of dissol-

ved concentration relative to the thermodynamic
saturated concentration. Chester (1990) listed the
solubility of several trace metals in coastal and
open ocean surface water and specified the
solubility of aeolian transported iron with ≤ 7 %.
This is in agreement with a short review of
published results provided by Zhuang et al. (1990)
revealing a range of iron solubility between 1 and
10 %. By contrast, Zhuang et al. (1990) themselves
found a solubility of ~50 % of atmospheric iron
suggesting that all the dissolved iron in North
Pacific surface water is provided by atmospheric
input. Zhuang and Duce (1993) could show that
the concentration of suspended particles is the
prime variable controlling the adsorbed fraction,
yet, an increase in aeolian deposition would also
result in an increase of net dissolved iron.

The reason for the dissolution of solid phase
iron in the photic zone is the photochemical
reduction of Fe(III), with UVB (280 – 315 nm)
producing most of Fe(II), followed by UVA (315 –
400 nm) and visible light (400 – 700 nm) (Rijken-
berg et al. 2005). As a consequence, about 10 % of
atmospheric FeT reaches the ocean as dissolved
iron (Duce et al. 1991; Fig. 7.1). In surface waters
of the global ocean the produced Fe2+ is subse-
quently reoxidized, yet, the photoreduction

Fig. 7.3 Global map of atmospheric iron fluxes to the deep sea (adopted from Donaghay et al. 1991).
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causes a net increase of dissolved iron. Model
and experimental results by Johnson et al. (1994)
reflect the dependence of dissolved iron on irra-
diation (Fig. 7.4). During incubations diurnal
cycles and gradually decreasing dissolved iron
concentrations result from induced daily
irradiation and a gradual uptake by phyto-
plankton.

7.3 Iron as a Limiting Nutrient for
Primary Productivity

The growth of phytoplankton in the world ocean
is undoubtedly one of the driving influences for
the global carbon cycle and thus for the present
and past climate (Berger et al. 1989; de Baar and
Suess 1993). This primary productivity (PP) is
limited by the availability of nutrients. Apart from
the major nutrients nitrogen, phosphorous and
silica so called micronutrients  - especially iron -
have long been speculated to have a limiting
control on PP (Hart 1934). Yet, detailed
investigations concerning their importance for
the carbon cycle have only been possible for the
past ten years due to analytical reasons. Virtually
all microorganisms require iron for their
respiratory pigments, proteins and many
enzymes. Therefore, dissolved iron shows a
similar vertical profile in the water column as
nitrate being reduced to near zero within the

surface layer where PP takes place and being
increased within the oxygen minimum zone due to
the mineralization of iron bearing organic matter
(Fig. 7.5).

Three major oceanic regions (20 % of the
world’s open ocean) are characterized by high-
nitrate and low-chlorophyll (HNLC) concen-
trations. The PP of the Southern Ocean (Broecker
et al., 1982), the equatorial Pacific (Chavez and
Barber 1987) and the Gulf of Alaska (McAllister et
al. 1960) are obviously not limited by nitrate.
Alternatively, as atmospheric dust loads in the
Antarctic and equatorial Pacific are the lowest in
the world (Prospero 1981; Uematsu et al. 1983) the
importance of iron as limiting micronutrient for PP
became increasingly discussed.

The effect of added atmospheric dust to clean
sea water from HNLC-regions were studied in

Fig. 7.5 Vertical distribution of NO3
-, dissolved iron and

oxygen at a station of the Gulf of Alaska (adopted from
Martin et al. 1989).
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Fig. 7.4 Measured iron concentrations in incubations
(dots) and model (solid line) results of dissolved iron
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by phytoplankton (adopted from Johnson et al. 1994).
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bottle experiments by Martin et al. (1991) demon-
strating increased PP by a factor of 2-4 (Fig. 7.6).
Since the role of large grazers living on phyto-
plankton was not considered by such experiments
doubts and open questions to use these labo-
ratory results for statements on large-scale envi-
ronmental processes remained. Therefore, Martin
and colleagues conducted a large-scale iron
enrichment experiment south of the Galapagos
Islands in the equatorial Pacific (Martin et al.
1994). A total volume of 15,600 l of iron solution
(450 Kg Fe) were distributed by ship over an area
of 64 km2  which increased the original dissolved
iron concentration of 0.06 nM to ~4 nM. Iron

concentrations, various parameters monitoring
primary productivity and an inert tracer were
continuously analyzed for 10 days. As a result
they did find an increase of PP by a factor of 2-4
within the iron fertilized open ocean patch
(Martin et al. 1994) which gave evidence for the
importance of iron as limiting micronutrient within
HNLC-areas.

Compelling evidence for the limitation of
phytoplankton productivity by the availability of
dissolved iron was also found in surface waters
of the Peru shelf by comparing the nutrient inven-
tories of the northern, chlorophyll-rich, ‘brown’
waters to the southern, chlorophyll-poor, ‘blue’
waters (Bruland et al. 2005). Surface waters of
both areas receive large fluxes of macronutrients
through upwelling, but only the bottom waters of
the northern area are suboxic and rich in
dissolved iron (> 50 nM). The constant
replenishment of dissolved iron from iron-rich
bottom waters leads to very high primary produc-
tivity in the northern Peru shelf region whereas
the southern region is characterized by high
(macro-) nutrient and low chlorophyll concen-
trations.

If iron is a limiting micronutrient for present-
day PP, it may be an important link to explain
glacial-interglacial climatic cycles of the past.
Martin (1990) postulated the ‘iron hypothesis’
which explains decreased atmospheric CO2
concentrations during glacial times with
increased iron deposition by aeolian input resul-
ting in increased PP and thus increased CO2-

Fig. 7.7 Fe and CO2 concentrations of the Antarctic
Vostok ice core for the past 160,000 years (adopted from
De Angelis et al. 1987). Measured Al concentrations were
converted to Fe concentrations according to the average
continental crust composition. The negative correlation of
CO2 and Fe supports the ‘iron hypothesis’ (see text).

Fig. 7.6 The effect of iron addition to surface water of
high-nutrient, low-chlorophyll (HNLC) regions. The
doubling rate, µ, is an expression for the increase of
primary productivity and maximum values, max.,
depend on light intensity and temperature. An increase
of primary productivity by a factor of 2-4 is resulting
due to the addition of atmospheric iron (adopted from
Martin et al. 1991).
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uptake by the oceans. A comparison of iron and
CO2 concentrations of the past 160,000 years
recorded within an Antarctic ice core revealed a
strikingly negative correlation (Fig. 7.7) which
supports the ‘iron hypothesis’.

So far, dissolved iron has been discussed with
respect to the assimilation by phytoplankton. The
chemical state of bioavailable dissolved species
is presently a matter of intensive studies and dis-
cussions. Due to thermodynamic reasons concen-
trations of free ions of dissolved iron are ex-
tremely low under oxic and pH-neutral conditions.
A discussion paper by Johnson et al. (1997)
reviews regional distributions and depth profiles
of dissolved iron and points out that at greater
depth the iron concentrations always remain
constant of ~ 0.6 nM. Other elements with such
short residence time (100 to 200 years) typically
continuously decrease with depth and age. This
suggests a substantial decrease in the iron re-
moval rate below this concentration. As organic
ligands with a binding capacity of 0.6 nM Fe have
been found (Rue and Bruland 1995; Wu and Luther
1995), iron-organic complexes are regarded to be of
great importance for the distribution of dissolved
iron. Additional evidence for the interaction with
dissolved organic molecules comes from the study
of iron uptake mechanisms by organisms. To make
dissolved iron more accessible, microorganisms
have acquired the ability to synthesize chelators
which complex ferric iron of solid phase. These
chelators are commonly called siderophores and
consist of a low-molecular-mass compound with a
high affinity for ferric iron. Siderophores are
secreted out of the microorganism where they form
a complex with ferric iron. After transport into the
cell, the chelated ferric iron is enzymatically
reduced and released from the siderophore, which
is secreted again for further complexation. For the
open ocean environment ferric iron availability by
the secretion of siderophores was shown for
phytoplankton (Trick et al. 1983), as well as for
bacteria (Trick 1989). Kuma et al. (1994) showed
that total natural organic Fe3+-chelators are
abundant in open ocean regions of the eastern
Indian Ocean and the western North Pacific Ocean
where they control the dissolved iron concen-
tration. Recent experiments have explored the
mechanisms of the dissolution of iron oxyhy-
droxides under variable light and chelator condi-
tions and it was concluded that the interplay of
siderophores and light controls the overall process
(Borer et al. 2005).

7.4 The Early Diagenesis of Iron
in Sediments

The fundamental work by Froelich et al. (1979)
established a conceptual model for the organic
matter respiration in marine sediments which has
been modified, verified and extended in numerous
aspects since then. Froelich and colleagues found
a succession of electron acceptors used by
dissimilatory bacteria according to their energy
gain. Consequently, a biogeochemical zonation of
the sediment results where O2, NO3

-, bioavailable
Mn(IV) and Fe(III) and SO4

2- diminish succes-
sively with depth. Apart from the consumption of
electron acceptors the production of reduced
species such as NH4

+, Mn2+, Fe2+, HS- and CH4
occurs. These components may be reoxidized
abiotically under given thermodynamic condi-
tions. As will be shown, these reoxidation reac-
tions can also be microbiologically catalyzed. It is
important to note that for the investigation of iron
reactivity a differentiation of biotic and abiotic
reactions is inherently important but often very
difficult to achieve. Another considerable
question with respect to the iron reactivity in
sediments concerns the bioavailable fraction of
iron bearing minerals. So far, it could be shown
that ferric iron of iron oxides as well as certain
sheet silicates can be used by dissimilatory iron
reducing bacteria but their quantities and rates of
reduction vary significantly. A final discussion of
this section will compare different depositional
environments with respect to the importance of
dissimilatory iron reduction, chemical reduction
and the availability of ferric iron.

Fig. 7.8 Iron reduction by GS-15 with acetate as electron
donor (adopted from Lovley and Philips 1988).
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7.4.1 Dissimilatory Iron Reduction

Iron (and manganese) can be reduced enzyma-
tically by various pathways, which are summa-
rized in great detail by Lovley (1991). One of the
prerequisites is the direct contact between the
bacteria and solid phase ferric iron (Munch and
Ottow 1982). The following given equations shall
be considered as representative for a series of
reactions within each group.

1. Fermentative Fe3+-reduction:

C6H12O6 + 24Fe3+ + 12H2O
⇒ 6HCO3

- + 24Fe2+ + 30H+ (7.1)

2. Sulfur-oxidizing Fe3+-reduction:

S0 + 6Fe3+ + 4H2O
⇒ HSO4

- + 6Fe2+ + 7H+ (7.2)

3. Hydrogen-oxidizing Fe3+-reduction:

H2 + 2Fe3+ ⇒ 2H+ + 2Fe2+ (7.3)
4. Organic-acid-oxidizing Fe3+-reduction:

acetate- + 8Fe3+ + 4H2O
⇒ 2HCO3

- + 8Fe2+ + 9H+ (7.4)

5. Aromatic-compound-oxidizing Fe3+-reduction:

phenol + 28Fe3+ + 17H2O
⇒ 6HCO3

- + 28Fe2+ + 34H+ (7.5)

For the case of fermentative Fe(III)-reduction it is
important to note that during fermentation Fe(III)
only serves as a minor sink for electrons and that
organic substrates are primarily transformed to
organic acids or alcohols.

A review of organisms reducing Fe(III), the
respective electron donors and the applied forms
of Fe(III) is given by Lovley (1987) and Lovley et
al. (1997). In Figure 7.8 a typical result of ferric
iron reduction mediated by a distinct ferric iron
reducing bacteria (i.e. Geobacter metallireducens)
and an appropriate electron donor (i.e. acetate) is
shown. Note that the reproduction (cell numbers)
ceases although acetate and ferric iron are still
present. This is a general observation, which is
explained by the limited bioavailability of the ferric
iron fraction (section 7.4.2.2). Figure 7.9
represents a model for the degradation of natural
organic matter with ferric iron as sole electron
acceptor (Lovley 1991). The primary organic
matter is hydrolyzed to smaller compounds such
as sugars, amino and fatty acids, and aromatic
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compounds through the activity of hydrolytic
enzymes which are produced by a variety of
microorganisms. Subsequently, these intermediate
products can be used for the dissimilatory ferric
iron reduction.

7.4.2 Solid Phase Ferric Iron and its
Bioavailability

Solid phase ferric iron is present in various iron
bearing minerals and amorphous phases of marine
sediments. Two major groups can be distin-
guished: Iron oxyhydroxides (including iron
oxides) and (sheet) silicates. As the iron bearing
mineral assemblage varies considerably among
different depositional environments the micro-
biological availability of specific Fe(III)-bearing
compounds can be highly variable.

7.4.2.1 Properties of Iron Oxides

During terrestrial weathering a minor amount of
the released iron from silicates (biotite, pyroxene,
amphibole, olivine) is incorporated into clay
minerals and a major fraction serves for the
formation of iron oxides. Among iron oxides
goethite (α-FeOOH) and hematite (α-Fe2O3) are
the most abundant and are mostly associated
with each other. Lepidocrocite (γ-FeOOH), mag-
hemite (γ-Fe2O3) and magnetite (Fe2+Fe2

3+O4) are
generally quantitatively less abundant. Yet, with
respect to the magnetization of the sediment
magnetite and maghemite are of great importance

due to their ferrimagnetic character (chapter 2).
Iron phases precipitating from solution are
collectively called iron oxyhydroxide. By means
of mineralogical identification methods (X-ray
diffraction, infrared and Mössbauer spectros-
copy) the precipitate may be completely amor-
phous representing a ferric gel or it may be a
poorly crystallized, water containing phase such
as ferrihydrite (5Fe2O3·9H2O). Formerly this
fraction was called ‘amorphous Fe(III)hydroxide’
(Böhm 1925). Aging causes these earliest pre-
cipitates to increase their crystallinity, which
means an increase in the ordering of the crystal
lattice. Depending on the pH-value of ambient
water the resulting proportion of goethite versus
hematite varies. Hematite is favored under
seawater conditions (Schwertmann and Murad
1983; Fig. 7.10). The effect of aging also explains
the observation of a decrease in the highly
reactive Fe-oxide fraction with water depth and
distance to the coast although the total fraction
of Fe-oxides and total iron concentration
increases (Haese et al. 2000). With respect to the
adsorption of anions and cations as well as to
organic ligand formation (see below) it is
important to know an approximate dimension of
the specific surface area of iron oxides /
oxyhydroxide. Crosby et al. (1983) determined
specific surface areas for iron oxyhydroxide
synthesized under natural conditions revealing
159-234 m2g-1 for precipitates from Fe3+ solutions
and 97-120 m2g-1 for precipitates from Fe2+

solutions. Natural samples showed a range from
6.4-164 m2g-1.

Physical, chemical and mineralogical proper-
ties of the iron oxides can be variable. Aluminium
(Al(III)) may substitute isomorphically for Fe(III)
due to very similar ionic radii (Fe(III): 0.73 Å;
Al(III): 0.61 Å) and the same valence. Norrish and

Fig. 7.10 Recrystallization products of a ferrihydrite sus-
pension after 441 days. Aging causes a formation of hema-
tite (Ht) and goethite (Gt) depending on the pH of ambi-
ent water (adopted from Schwertmann and Murad 1983).

Fig. 7.11 In the presence of water the iron oxide
surface is hydroxylated (step 1) and subsequently H2O is
adsorbed (step 2) (redrawn from Schwertmann and
Taylor 1989).
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Taylor (1961) found a maximum of one-third mole
percent Al substitution for Fe within goethite
and a maximum of one-sixth substitution was
determined for hematite in soils (Schwertmann et
al. 1979). As a product of terrestrial weathering
magnetites usually contain minor amounts of
Ti(IV) (ionic radius: 0.69 Å) as a substitution for
Fe which is then called titano-magnetite. In
contrast, bio-mineralized magnetite is a pure iron
oxide. Different colors of iron oxides / oxyhy-
droxide are immediately apparent in nature. This
holds true for different pure iron oxides, for diffe-
rent grain sizes of one oxide (e.g. goethite) as
well as for distinct substitutions for Fe, e.g. by
Mn or Cr (Schwertmann and Cornell 1991). The
color of synthetic minerals and natural sediment
can be quantitatively determined by reflectance
spectroscopy (e.g. Morris et al. 1985).

In the presence of water the surface of an iron
oxide is completely hydroxylated which can be
understood as a two-step reaction which is
shown schematically in Fig. 7.11.

As iron oxides / oxyhydroxide have a very
high affinity for the adsorption of anions as well
as cations under natural conditions the early
diagenetic reactivity of iron is often of great
significance for the behavior of compounds such
as trace metals, phosphate and organic acids.
The adsorption on iron oxides is caused by the

hydroxylation of the mineral surface (S-OH).
Depending on the pH of ambient water protonation
or deprotonation occurs according to

S-OH + H+ ⇔ S-OH2
+ (7.6)

S-OH + OH- ⇔ S-O- + H2O (7.7)

As a result, the surface charge and the
surface potential vary depending on the concen-
tration of H+ ions in solution. Apart from the pH
the surface charge is influenced by the concen-
tration of the electrolyte and the valence of ions
in solution. pH-values where the net surface
charge is zero are called points of zero charge
(pzc). For pure synthetic iron oxides these vary
between a pH of 7 and 9. An excess of positive or
negative charge is balanced by the equivalent
amount of anions or cations. As representative
for the adsorption of cations (Cu2+), anions
(H2PO4

-) and organic compounds (oxalate) the
following reactions are given:

(7.8)

(7.9)

(7.10)

As the complexation of cations causes a
release of H+ and anions compete with surface
bound hydroxyl groups (‘ligand exchange’) the
adsorption is strongly pH-dependant (see above).
As a result, anions are preferably adsorbed at
lower pH-values whereas cations are primarily
adsorbed at higher pH values (Fig. 7.12).

7.4.2.2 Bioavailability of Iron Oxides

As dissimilation is a biological process used to
gain electrons for cell energetic functions, the
energy gain from the induced reactions is notewor-
thy. The following reactions and their respective
standard free energy, ∆Go, values are given to
provide an overview of the energy gain due to the
reaction with various iron oxyhydroxide / oxides.

4Fe(OH)3 + CH2O + 7H+

⇒ 4Fe2+ + HCO3
- + 10H2O    (7.11)

7.4 The Early Diagenesis of Iron in Sediments

Fig. 7.12 The pH dependence of anion (a) and cation (b)
sorption on hydrous ferric oxide (adopted from Stumm
and Morgan 1996).
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∆G0: (-376) - (-228) kJ mol-1

4FeOOH + CH2O +7H+

⇒ 4Fe2+ + HCO3
- + 6H2O    (7.12)

∆G0: (-387) - (-239) kJ mol-1

2α-Fe2O3 + CH2O + 7H+

⇒ 4Fe2+ + HCO3
- + 4H2O    (7.13)

∆G0: -236 kJ mol-1

2Fe3O4 + CH2O + 11H+

⇒ 6Fe2+ + HCO3
- + 6H2O    (7.14)

∆G0: -328 kJ mol-1

∆G0 values were adopted from Stumm and
Morgan (1996). For Fe(OH)3 and FeOOH a range
of free energy is given as the solubility products
Ks = [Fe3+] [OH-]3 range from 10-37.3 to 10-43.7

depending on the mode of preparation, age and
molar surface. For example, aged goethite (α-
FeOOH) reveals a ∆G0

f of -489 kJ mol-1 whereas for
freshly precipitated amorphous FeOOH a value of
-462 kJ mol-1 was determined (Stumm and Morgan
1996). The variability of FeOOH thermodynamic
properties is a result of the metastability of freshly
precipitated ferric iron phases (chapter 7.4.2.1, Fig.
7.10).

By means of microbial cultures growing on the
various iron oxides as terminal electron acceptors
it has been shown that they all can be used for the
purpose of dissimilation (e.g. Lovley 1991; Kostka
and Nealson 1995). Yet, it was generally found
that the ferric iron phases were reduced at diffe-
rent rates and to varying degrees. Consequently,
Ottow (1969) determined the following sequence
of biological availability: FePO4⋅4H2O > Fe(OH)3 >
lepidocrocite (γ-FeOOH) > goethite (α-FeOOH) >
hematite (Fe2O3). Note that the Fe-P phase may
sequester significant amounts of P out of the
nutrient loaded freshwater part of an estuary, but
under brackish and marine conditions this phase
is not stable as it rapidly transforms under the
influence of free sulfide (Hyacinthe and Van
Cappellen, 2004). Within natural soil samples a
preferential reduction of amorphous to crystalline
iron oxides was found (Munch and Ottow 1980).
Later, Roden and Zachara (1996) discovered the
importance of the solid phase specific surface area
for the degree of reducibility. The greater the
specific surface area was the more reduced ferric

iron was determined (Fig. 7.13). Additionally, they
could show that after rinsing the solid phase,
which could not be reduced any further,
dissimilatory reduction of the original ferric iron
was continued. They concluded that the reduction
of iron oxides is limited by the adsorption of some
components, possibly Fe2+, which inhibits further
microbial access. This finding also explains the
results of Munch and Ottow (1980, see above)
because amorphous and poorly crystalline phases
are usually characterized by a higher specific
surface area than well crystallized phases, and the
greater the specific surface area the more can be
adsorbed. This early finding agrees with the
results of a recent study, which identified nano-
phase goethite with diameters < 12 nm to be the
predominant authigenic iron oxyhydroxide in
freshwater and marine environments (van der Zee
et al. 2003).

Once a framework for the availability of iron
oxides is established, the kinetics of individual
reactions provides insight into reaction rates and
rate limiting steps for the overall reactivity of iron.
Here, the kinetics of microbial iron oxide reduction
is explored and in section 7.4.4.1 analog infor-
mation are provided for the reduction by sulfide
and ligands. Building on previous experimental
results demonstrating the control of mineral
surface area for the degree of iron reduction
(Roden and Zachara 1996; Fig. 7.13), it was shown,
that also the rate of microbial iron reduction in
natural sediments is of first-order and controlled
by the mineral surface area (Roden and Wetzel

Fig. 7.13 The dependence of solid phase ferric iron
reducibility from the specific surface area of iron
oxyhydroxide / oxides (redrawn from Roden and Zachara
1996). HSA, MSA, and LSA represent high, medium, and
low specific surface area.
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2002). Kinetic experiments with synthetic iron
oxyhydroxides have shown that the initial micro-
bial reduction rate increases with increasing initial
ferric iron concentration up to a given maximum
reduction rate (Bonneville et al. 2004). This
observation was explained by a saturation of
active membrane sites with Fe(III) centers. The
respective reaction was best described with a
Michaelis-Menten rate expression with the maxi-
mum reduction rate per cell positively correlating
with the solubility of the iron oxyhydroxides
(Bonneville et al. 2004). Kinetic studies involving
iron are not only inherently important to describe
reaction pathways and to derive rate constants,
which can be used in models. Kinetic studies also
increasingly focus on iron isotopic fractionation
to better understand the iron isotopic composition
of ancient sediments, which may assist in the
reconstruction of paleo-environments. Important-
ly, iron isotope fractionation occurs in abiotic and
biotic processes; the degree of isotopic fracti-
onation depends on individual reaction rates and
the environmental conditions, e.g. whether reac-
tions take place within an open or closed system
(Johnson et al. 2004).

7.4.2.3 The Bioavailability of Sheet Silicate
Bound Ferric Iron

As early as in 1972 Roth and Tullock published
results on the chemical reduction of smectites.
Subsequently, Rozenson and Heller-Kallai
(1976a,b) studied the potential of reduction and
reoxidation in various dioctahedral smectites
with the aid of different reducing and oxidizing
agents. Concurrent with the change of the inter-
crystalline redox state a change of the smectite
color was observed. Oxidized smectites showed a
white or yellowish color whereas the reduced
smectites revealed a greenish-grey or black color.
To balance the intercrystalline charge (de-)
protonation was postulated. Additionally, as a
consequence of smectite reduction a decrease of
the specific surface area and the swellability in
water, as well as an increase of nonexchangeable
Na+ was found (Lear and Stucki 1989). A potential
importance of smectite redox reactivity in natural
sediments was first pointed out by Lyle (1983) for
sediments of the eastern equatorial Pacific where
a distinctive color transition from tan (above)
green-gray (below) was found in near-surface
sediments. König et al. (1997) conducted a high
resolution Mössbauer-spectroscopy study for

one core from the Peru Basin which revealed a
present-day reduction of 42 % of total iron which
can be differentiated into an immobile fraction (36 %)
consisting of smectite bound iron and a mobile
fraction (16 %) which diffuses back into the oxidized
upper sediment layer. Evidence for the bioavailability
of ferric iron bound to smectites was given by
Kostka et al. (1996). During culturing of an iron
reducing bacteria (Shewanella putrefaciens strain
MR-1) on smectite as a sole electron acceptor a
reduction of Fe3+ by 15 % within the first 4 hours
and a total of 33 % after two weeks occurred.

7.4.3 Iron Reactivity towards S, O2, Mn,
NO3

-, P, HCO3
-, and Si-Al

The (microbial) dissimilatory iron reduction was
shown in the previous section. In this section the
reactions with major oxidants and reductants will
be introduced. Additionally, the interactions between
iron and phosphorus, as well as the formation of
siderite and iron-bearing sheet silicates will be
pointed out briefly to show to the variety of reac-
tions in marine sediments coupled the reactivity of
iron.

7.4.3.1 Iron Reduction by HS- and Ligands

Apart from the dissimilatory iron reduction
(section 7.4.1) iron oxides can be dissolved by
protons, ligands and reductants. Dissolution reac-
tions by protons and ligands are generally con-
sidered to be the rate-determining step for weathe-
ring processes. For iron bearing minerals in marine
sediments proton-promoted dissolution is of no
importance due to prevailing neutral or slightly
alkaline conditions. Ligands (e.g. oxalates and
citric acid) are by-products of biological decom-
position and dissolve iron oxides by primary
surface complexation onto the iron oxide surface
resulting in a weakening of the Fe-O bond which
is followed by a detachment of Fe3+-ligand. Reduc-
tive dissolution (e.g. by HS-, ascorbate, and dithi-
onite) is characterized by primary surface com-
plexation followed by an electron transfer from the
reductant to ferric iron and detachment of Fe2+.
The three pathways of Fe(III) (hydr)oxide disso-
lution are shown in Fig. 7.14.

Experimental determination of reduction rates
(e.g. Pyzik and Sommer 1981; Dos Santos Afonso
and Stumm 1992; Peiffer et al. 1992) reveal rates
under well defined conditions and information on
the reaction kinetics. Under natural conditions the

7.4 The Early Diagenesis of Iron in Sediments
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composition of dissolved compounds in solution
is complex and may have significant influence on
the dissolution rate. Biber et al. (1994) demon-
strated the inhibition of reductive dissolution by
H2S and the ligand-promoted dissolution by EDTA
due to the presence of oxoanions (e.g. phosphate,
borate, arsenate) (Fig. 7.15 a,b).

A sequence of iron mineral reactivity towards
sulfide was proposed more than 10 years ago
(Canfield et al. 1992), which was later extended
(Raiswell and Canfield 1996), and recently revised
(Poulton et al. 2004). The revised sequence
particularly accounts for the mineral surface area
and can be grouped into two fractions excluding
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iron bearing silicates: The poorly crystalline
hydrous ferric oxide, 2-line ferrihydrite and lepi-
docrocite are reactive on a time scale of minutes to
hours, whereas goethite, hematite and magnetite
are reactive on a time scale of tens of days. In
Table 7.1 the reactivity of iron oxyhydroxides and
iron bearing silicate minerals towards sulfide is
expressed as half-life (t1/2).

The presence of iron minerals and their
respective reactivity towards sulfide is of greatest
importance for the pore water chemistry and the
limitation for pyrite formation. In case of reactive
iron rich sediments dissolved iron may build-up in
pore water and dissolved sulfide is hardly present
although sulfate reduction occurs. In contrast, in
sediments characterized by a low content of
reactive iron dissolved sulfide can build-up
instead of dissolved iron (Canfield 1989). The
degree of pyritisation (DOP) was originally
defined by Berner (1970) and was later modified
by Leventhal and Taylor (1990) and Raiswell et al.
(1994). DOP is now defined as:

lelubsodithionitepyrite

pyrite

FeFe
Fe

DOP
−+

=     (7.15)

A DOP-value of 1 means a complete pyritisation of
reactive iron, which has been found in sediments
overlain by anoxic-sulfidic bottom water (Raiswell et
al., 1988). In sediments exposed to sulfide for more
than one million years silicate-bound iron has only
been partially turned into pyrite (Raiswell and
Canfield 1996). This observation is explained by an
overall slow rate of pyritisation of silicate-bound iron,

which is influenced by the mineral assemblage, degree
of crystallinity and grain size. This clearly states the
range of silicate iron reactivity towards sulfide, which
is influenced by the mineral assemblage, degree of
crystallinity and grain size.

7.4.3.2 Iron Oxidation by O2, NO3
-, and Mn4+

The reaction of dissolved Fe2+ with oxygen is
known to be fast and its rate was determined in
sea-water by Millero et al. (1987):

− = ⋅+
d FeII

dt

K O

H
FeIIH aq[ ] [ ]

[ ]
[ ].2

2 (7.16)

at 20 °C, kH=3x10-12 mol min-1liter-1. At a tempe-
rature of 5 °C the rate decreases by about a factor
of 10. As the oxidation rate (-d[FeII]/dt) is inversely
proportional to the power of the proton
concentration ([H+]2) the importance of the pH
becomes obvious. The lower the pH (= - log [H+]),
the lower is the rate of ferrous iron oxidation.
Therefore, within a ferrous iron solution with a very
low pH-value, e.g. acidified with HCl, the reaction is
so slow that oxidation under air atmosphere is
negligible over weeks. Under pH neutral conditions
this reaction is so fast that dissolved iron may only
escape from the sediment into the bottom water if
the oxygen penetration depth is very little or even
anoxic bottom water conditions are given. The
effects on iron, manganese, phosphate and cobalt
fluxes during a controlled decrease of oxygen
bottom water concentration and the importance of
the diffusive boundary layer within a benthic flux-
chamber (see chapter 3) were studied by Sundby et
al. (1986). They could demonstrate that due to a
decrease of diffusive oxygen flux into the sediment
manganese release increased prior to iron
according to thermodynamic predictions (Balzer
1982). Stirring within a flux-chamber controls the
thickness of the benthic boundary layer and thus
the diffusive flux of oxygen into the sediment. A
decrease or even an interruption of stirring results
in a significant increase of benthic efflux of redox-
sensitive constituents such as iron and manganese.

Buresh and Moraghan (1976) showed the
thermodynamic potential of ferrous iron oxidation by
nitrate, yet the reaction is not spontaneous. In the
presence of solid phase Cu(II), Ag(I), Cd(II) , Ni(II),
and Hg(II) serving as catalysts ferrous iron can
reduce nitrate rapidly (Ottley et al. 1997). Similarly,
the formation of a Fe(II)-lepidocrocite (γ-FeOOH)

7.4 The Early Diagenesis of Iron in Sediments

Table 7.1 Reactivity of iron minerals towards sulfide (1000
ìM ÓH2S, pH 7.5, 25°C) according to 1: Poulton et al.
(2004), 2: Canfield et al. (1992), and 3: Raiswell and
Canfield (1996). The ‘poorly-reactive silicate fraction’ was
determined operationally as (FeHCl, boiling - FeDithionite) / Fetotal

Iron Mineral / fraction Half life, t1/2

Hydrous Ferric Oxide1 5.0 minutes
2-line Ferrihydrite1 12.3 hours
Lepidocrocite1 10.9 hours
Goethite1 63 days
Magnetite 1 72 days
Hematite 1 182 years
Sheet silicates2 10 000 years
poorly-reactive silicate fraction3 2.4 x 106 years
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surface complex was found to catalyze chemo-
denitrification (Sørensen and Thorling 1991). The
potential significance of microorganisms inducing
ferrous iron oxidation was pointed out within the
last years (Widdel et al. 1993; Straub et al. 1996).
Ferrous iron was found to serve as electron donor
in cultures of nitrate-reducing bacteria. Even in
the presence of acetate as typical electron donor
ferrous iron was additionally oxidized. This implies

that iron oxide formation typically occurring at the
interface of nitrate and iron bearing pore water is
at least in parts microbially mediated. Ehrenreich
and Widdel (1994) have described a microbial
mechanism of pure anaerobic oxidation by iron
oxidizing photoautotrophs. This exciting obser-
vation challenges the conviction that the earliest
iron oxidation on earth occurred during the build-
up of free oxygen. One may now speculate that
the accumulation of the Banded Iron Formation
(Archaic age, ~ 3 billions years B.P.) was
microbiologically induced under suboxic/anoxic
conditions. Similarly, manganese oxidation rates in
natural environments were determined to be
considerably higher than determined in laboratory
studies under abiotic conditions implying a
microbially mediated manganese oxidation
(Thamdrup et al. 1994; Wehrli et al. 1995).

Ferrous iron oxidation by manganese oxide
was found to be especially fast as long as no iron
oxyhydroxide precipitates, which presumably
blocks reactive sites on the manganese oxide
surface (Postma 1985). The oxidation of ferrous
iron by manganese oxide has been proven to be
important for the interpretation of pore water
profiles and the precipitation of authigenic phases
(Canfield et al. 1993a; Haese et al. 2000; van der
Zee 2005). In Fig. 7.16 pore water profiles of iron
and manganese reveal concurrent liberation of the
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two elements which was attributed to dissimi-
latory iron reduction and subsequent iron reoxida-
tion by manganese oxides which in turn results in
the production of Mn2+

aq..
Similar to the possibility of concurrent reduc-

tion of sulfate and ferric iron by a culture of a
single bacteria (Coleman et al. 1993; see section
7.4.3.4) other iron reducing bacteria were found to
additionally maintain dissimilation with more than
one electron acceptors under suboxic conditions
(Lovley and Phillips 1988) or even under oxic
conditions (Myers and Nealson 1988a). In the
presence of Fe(III) and Mn(IV) strain MR-1 was
found to reduce both but additional manganese
reduction occurred due to the immediate abiotic
reaction with released Fe2+ (Myers and Nealson
1988b). The interactions of biotic and abiotic
reactions are shown in Fig. 7.17.

7.4.3.3 Iron-bound Phosphorus

In section 7.4.2.1 the theoretical significance of
phosphate adsorption onto iron oxides was
illustrated. Numerous studies on natural sedi-
ments suggest that iron oxides control phosphate
pore water and solid phase concentrations, as well
as the overall sedimentary phosphate cycle (Krom
and Berner 1980; Froelich et al. 1982; Sundby et al.
1992; Jensen et al. 1995; Slomp et al. 1996a,b). A
generalized representation of the sedimentary
phosphorus cycle is shown in Fig. 6.11. Apart
from the Fe-bound P, organic P and authigenic
carbonate fluorapatite are the principal carriers of
solid phase P. HPO4

2- is the predominant dissolved
P species under sea water conditions (Kester and
Pytkowicz 1967).

The following information and simple calcu-
lation allows the reader to assess and understand
the important role of iron oxyhydroxides and their
interactions with phosphorous: A maximum of 2.5 -
2.8 µmol m-2 of adsorbed phosphate on iron oxides
were found (Goldberg and Sposito 1984; Pena and
Torrent 1984). In order to approximate a maximum
adsorbed phosphate concentration in the sediment
one can assume 1 cm3 of sediment with a porosity
of 75 %, a dry weight density of 2.65 g cm-3, 50
µmol/gSediment Fe bound to iron oxides and an iron
oxide specific surface area of 120 m2 g-1 (see
section 7.4.2.1). For the wet sediment we can
calculate an iron concentration of 33 µmol cm-3

which is bound to iron oxides. This fraction has a
specific surface area of ∼ 0.22 m2  within 1 cm3 of
wet sediment which may then adsorb up to ∼ 0.57

µmol P (assuming an adsorption capacity of 2.6
µmol P per square meter of iron oxide). For a
comparison of adsorbed and dissolved phosphate
concentration we can furthermore assume a
concentration of 5 µM phosphate within the
interstitial water which is equivalent to 0.0037
µmol cm-3 of wet sediment. Consequently, the
adsorbed fraction of phosphate can be more than
two orders of magnitude greater than the
dissolved fraction due to the presence of iron
oxides. In reality, the ratio of Fe bound to poorly
crystalline iron oxides and P bound by these
phases has been determined to be ∼ 10Fe : 1P for
coastal and shelf sediments (Slomp et al., 1996a).
This differs significantly from the given
theoretical sample in which we find a ratio of 58
(33 µmol Fe : 0.57 µmol P per 1 cm3). Either P is
additionally bound in the crystalline lattice of the
iron oxides (i.e. Torrent et al., 1992) or the
adsorption capacity for P in shelf sediments is
much greater than derived from the calculated
example. In the latter case, one must conclude that
the specific surface area of Fe oxides is higher
than assumed as another quantitatively important
adsorbent of P in sediments is not likely. Instead
of 120 m2 g-1 iron oxide one needs to encounter a
specific surface area of 650-700 m2 g-1 to justify
such high P adsorption.

7.4.3.4 The Formation of Siderite

In the marine environment siderite (FeCO3) is
hardly found relative to iron sulfides because it is
thermodynamically not stable in the presence of
even low dissolved sulfide activities. Postma
(1982) proved the calculation of the solubility
equilibrium between siderite and ambient pore
water chemistry to be a reliable approach for the
investigation of present-day siderite formation. In
salt marsh sediments where the influence of salt
and fresh water varies temporarily and spatially
the formation of siderite and pyrite are closely
interlinked. Mortimer and Coleman (1997)
demonstrated that siderite precipitation is
microbiologically induced. They could show that
δ18O values of siderite precipitated during the
culturing of one specific iron-reducing micro-
organism, Geobacter metallireducens, were
distinctively lower than expected according to
equilibrium fractionation between siderite and
water (Carothers et al. 1988) which is a contra-
diction to a pure thermodynamically induced
reaction.

7.4 The Early Diagenesis of Iron in Sediments
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In fully marine systems siderite formation is
probable to occur below the sulfate reduction
zone where dissolved sulfide is absent, if reactive
iron is still present and the Fe/Ca-ratio of pore
water is high enough to stabilize siderite over
calcite (Berner 1971). The coexistence of siderite
and pyrite in anoxic marine sediments was shown
by Ellwood et al. (1988) and Haese et al. (1997).
Both studies attribute this observation to the
presence of microenvironments resulting in
different characteristic early diagenetic reactions
next to each other within the same sediment
depth. It appears that in one microenvironment
sulfate reduction and the formation of pyrite is
predominant, whereas at another site dissimilatory
iron reduction and local supersaturation with
respect to siderite occurs. Similarly, the importance
of microenvironments has been pointed out for
various other processes (Jørgensen 1977; Bell et al.
1987; Canfield 1989; Gingele 1992).

Apart from microenvironments, an explanation for
the concurrent dissimilatory sulfate and iron
reduction was provided by Postma and Jakobsen
(1996). They demonstrated that the stabilities of iron
oxides are decisive with respect to iron and/or sulfate
reduction assuming that the fermentative step and not
the overall energy yield is overall rate limiting.
Additionally, it shall be noted that the typical sulfate
reducing bacteria Desulfovibrio desulfuricans was
found to reduce iron oxide enzymatically contempo-
rarily or optionally (Coleman et al. 1993). When only
very small concentrations of H2 as sole electron donor
were available iron oxide instead of sulfate was used
as electron acceptor by D. desulfuricans.

7.4.3.5 The Formation of Iron Bearing
Aluminosilicates

In 1966 the formation of aluminosilicates in marine
environments was hypothesized by Mackenzie and
Garrels (1966) who pointed out the potential signi-
ficance of this process with respect to the oceanic
chemistry and for global elemental cycles. As
elements are transferred into solid phase and thus
become insoluble this process is referred to ‘reverse
weathering’. Within the scope of this textbook only
a brief overview of the major processes and
conditions of formation is intended to be outlined.

Four major pathways for the formation of iron
bearing aluminosilicates can be distinguished:

1. Formation from weathered basalt and
    volcanic ashes
2. Glauconite formation
3. Formation in the vicinity of hydrothermal
    vents
4. Formation under low temperature conditions

The first two pathways of formation will not be
discussed here as they were found to be only of
local/regional importance and are not considered
to be of major importance for early diagenetic
reactions. Iron bearing clay mineral formation
under high-temperature conditions near a hydro-
thermal system of the Red Sea was studied by
Bischoff (1972). A direct precipitation of an iron-
rich smectite (nontronite) within the metalliferous
sediments was found. This pathway of clay mine-
ral formation was shown to occur at temperatures
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Redox-boundary

Fe(III) / Mn(IV)

Fe(II) / Mn(II)
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Fig. 7.18 Modes of transport in the sediment: molecular diffusion, bioirrigation, bioturbation, and advection.
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typically ranging between 70 and 150 °C under
oxic and anoxic conditions (Cole and Shaw 1983).
Yet, lowest temperatures of formation were
deduced to be ∼ 20 °C (McMurtry et al 1983;
Singer et al. 1984). Experimental studies by
Decarreau et al. (1987) demonstrated the synthesis
of dioctahedral smectite, containing Fe(III) within
the octahedral sheet, only under strictly oxic con-
ditions.

Experimental results by Harder (1976, 1978)
gave evidence for the potential of iron bearing
clay mineral formation under low temperature
deep-sea floor conditions. Subsequent findings of
sediments rich in montmorillonites in the north
equatorial Pacific (Hein et al. 1979) and nontronite
in the Bauer Deep of the eastern equatorial Pacific
(Cole and Shaw 1983; Cole 1985) were attributed
to authigenic aluminosilicate formation. For the
formation of low-temperature iron-bearing alumi-
nosilicates the deposition of skeletal opal (e.g.
radiolarian) and iron oxyhydroxide (e.g. preci-
pitation products of hydrothermal activity) as well
as a low carbonate content are considered (Cole
and Shaw 1983). Enhanced opal dissolution due to
the presence of high iron oxide concentrations
were reported (Mayer et al. 1991), yet kinetic
reasoning of this observation remains unclear. As
the skeletal opal closely associated with the iron
oxyhydroxide becomes buried it dissolves and
forms an amorphous Fe(III)-silica complex at the
skeleton surface which subsequently recrystal-
lizes to form nontronite on the surface of the
partially dissolved skeletons (Cole 1985). By this
analogy, Harder (1976,1978) also found an amor-
phous Fe(III)-silicate precipitate as a precursor
which developed during aging under suboxic
conditions into a crystalline iron-rich clay mineral.
The presence of Fe2+ was a prerequisite for the
synthesis of clay minerals under experimental
conditions and therefore partial reduction of iron
oxyhydroxide within the microenvironment of an
opal skeleton must be assumed. The oxygen
isotopic composition (δ18O) of the authigenic
mineral can be used to reconstruct the prevailing
temperature during formation by applying the
geothermometric equation of Yeh and Savin
(1977). For the aluminosilicates from the north
equatorial Pacific and the Bauer Deep formation
temperatures of ∼ 3-4 °C were deduced repre-
senting authigenic formation under low-tempe-
rature conditions in deep-sea sediments. Similar to
the above described deep-sea conditions, the
Amazon delta represents an iron and silicate rich

depositional environment. Incubation experiments
with sediments from the Amazon delta revealed
substantial K-Fe-Mg-clay mineral formation within
1-3 years under low-temperature conditions
(Michalopoulos and Aller 1995) implying
significant elemental transfer into solid phase
within the estuarine mixing zone.

7.4.4 Iron and Manganese Redox Cycles

Processes of early diagenesis can only be
understood by integrating biogeochemical reac-
tions and modes of transport in the sediment. With
respect to the quantification of iron and manganese
reactions molecular diffusion and bioirrigation need
to be considered for the dissolved phase whereas
bioturbation and advection are relevant for the
particulate transport (Haese 2002). Bioirrigation is
the term for solute exchange between the bottom
water and tubes in which macro-benthic organisms
actively pump water. For iron and manganese a
recent study (Hüttel et al. 1998) points out the
importance of solute transport in the sediment and
across the sediment / bottom water interface due to
pressure gradients induced by water flow over a
rough sediment topography. Advection in the con-
text of particulate transport describes the down-
ward transport of particles relative to the sediment
surface due to sedimentation. Strictly speaking,
bioturbation (sometimes more generally termed mix-
ing) also induces a vertical transport of dissolved
phase. Yet, as molecular diffusive transport is usu-
ally much greater than dissolved transport by bio-
turbation the later is usually neglected.

The cycling of reduced and oxidized iron and
manganese species are discussed together in this
chapter since the driving processes are princi-
pally the same. In Fig. 7.18 the operating modes
of transport are shown schematically along with
a redox boundary. Above this boundary the reac-
tive fraction of total solid phase iron or manga-
nese is present as oxidized species whereas
below the reduced species occur. Note that at
this boundary a build-up in the pore water
occurs if no immediate precipitation (e.g. FeS) or
adsorption inhibits a release into ambient water.
The change in the redox state implies oxidation
above and reduction below by some electron
donor / acceptor. In case of dissimilatory iron /
manganese reduction the organic carbon serves
as electron donor, the other most important
oxidants and reductants are discussed in the
sections 7.4.3.1 and 7.4.3.2 .

7.4 The Early Diagenesis of Iron in Sediments
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The intensity of the redox cycling and thus
the importance for oxidation and reduction reac-
tions in the sediment is terminated by either one
of the following conditions: 1. In case of the
absence of any efficient oxidant (e.g. O2) in the
upper-most layer or bottom water no oxidation
will occur and the redox cycling cannot be main-
tained. 2. In case of the absence of a reactive
fraction (bioavailable or ‘rapidly’ reducible by HS-,
see section 7.4.3.1) in the lower layer no reduc-
tion will occur and the redox cycle will cease. 3. A
vertical transport mode must be maintained
between the zone of oxidation and the zone of
reduction. As advection is usually very much
slower than the downward transport by
bioturbation the intensity of bioturbation
terminates the transport between the redox-zones.

For the most simple assumption of an
homogeneously mixed layer the intensity of
bioturbation is expressed by the biodiffusion (or
mixing) coefficient, Db, which can be deduced
appropriately along with the sedimentation rate
with the aid of natural radioactive isotopes.
According to Nittrouer et al. (1983/1984) the
general advection-diffusion equation can be
rearranged to calculate the sedimentation rate, A:
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with λ: decay constant [y-1], x: depth interval
between two levels [cm], C0, Cx: activity at an
upper sediment level and at a lower level with the
distance x below C0 [decays per minute, dpm] Db:
biodiffusion coefficient [cm2 y-1]. If mixing is
negligible (Db = 0) then the above equation can
be simplified:
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In case of a very low sedimentation rate relative
to mixing (A2 « λ⋅Db) Eq. 7.17 can be rearranged to
calculate the biodiffusion coefficient, Db:
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The above restrictions for the calculations of
the sedimentation rate and the biodiffusion
coefficient imply the use of radioactive isotopes
with different half-lifes (t1/2 = 0.693 ⋅ λ-1) for
different purposes and depositional environ-
ments. The higher the sedimentation rate, the
shorter should be the half-life of the radioactive
isotope. The more intense bioturbation in the
surface layer, the shorter should be the half-life of
the applied radioactive isotope be. For coastal
and shelf sediments sedimentation rates of
several decimeters to few meters per 1000 years
are typical and can be determined by 210Pb (t1/2 =
22.3 y). Shorter lived isotopes (e.g. t1/2 of 234Th =
24.1 d) are applicable for the determination of the
mixing intensity. 230Th (t1/2 = 75,200 y) is a
commonly used radioactive isotope in oceano-
graphic sciences to trace processes over longer
periods of times. The above isotopes are rapidly
scavenged by particles once they are formed from
the decay of some parent isotopes and settle to
the sea floor. Due to analytical reasons post-
depositional processes can be traced for a time
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Fig. 7.19 210Pb-activity depth profile from the Washing-
ton shelf (adopted from Nittrouer 1983/1984). The sedi-
ment surface layer is mixed as can be deduced from homo-
genous 210Pb values. Below, constantly decreasing values
imply no or hardly any mixing, this gradient can be used to
calculate a sedimentation rate. The deepest part is charac-
terized by a homogenous background activity resulting
from the decay of 226Ra in the sediment.
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period of 4 to 5 times of the radioactive half-life
which is approximately 100 years in case of 210Pb.

In Figure 7.19 a typical 210Pb-activity depth
profile from the Washington shelf is shown. The
uppermost 9 cm are characterized by constant
210Pb activity implying intensive mixing in the
surface layer. Below, 210Pb activity decreases
linearly (on a log-scale) indicating no mixing and
continuous decay. The lowest part of the profile
is characterized by constantly very low values
resulting from the long-term decay of 226Ra to
210Pb in the sediment. This background value is
subtracted from the above activities, which are
then termed excess-210Pb or unsupported-210Pb.
The depth interval showing a linear decrease on a
log-activity scale is often used to calculate a
sedimentation rate. Yet, a strong overestimation
of the true sedimentation rate is possible as slight
deep bioturbation in this part may not be seen
exclusively by 210Pb as it was shown by Aller and
DeMaster (1984). The investigation of an
additional, shorter-lived isotope within this depth
interval will reveal a potential influence of biotur-
bation.

As mentioned in the beginning of this section
bioturbation and advection by sedimentation
cause particle transport in the sediment. In Fig.
7.20 three scenarios are schematically shown
representing constant molecular diffusive and

advective transport while bioturbation varies. As
a result, the shape of the solid phase profile
varies distinctively. In case of no bioturbation the
molecular diffusive flux (Jdiff.) from the zone of
dissolution into the zone of precipitation causes a
thin, sharp peak (enrichment) (Fig. 7.20a) whereas
slight bioturbation and thus vertical up- and
down-transport of particles (Jp) broadens the
enrichment (Fig. 7.20b). In case of very intense
particle transport relative to the molecular
diffusive transport (Jp. » Jdiff. , Fig. 7.20c) hardly
any or no enrichment will be formed although a
distinctive depth of precipitation is still present.
In summary, we can conclude that the solid phase
profile is a result of the dissolution within the
lower part of the enrichment, as well as of the
sedimentation rate and of the bioturbation (mix-
ing) intensity. This can be expressed mathema-
tically by a one-dimensional transport-reaction
model according to Aller (1980). If bioturbation
and sedimentation with depth (no compaction)
are constant, steady-state conditions apply
(chapter 3), and solid phase decreases linearly
over the interval of dissolution, then
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Fig. 7.20 To illustrate the influence of bioturbation (mixing) on the solid phase profile three schematic scenarios are
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can be calculated according to Sundby and
Silverberg (1985). P resembles the production (or
dissolution) rate and the other variables are
according to Eq. 7.17 except that C is given as
concentration per volume [µmol cm-3] as the depth
distribution of solid phase strongly depends on
the porosity.

In addition to the dissolution rate one can
calculate the burial rate of non-reactive phase and
the input rate to the sediment surface once the

sedimentation rate is known. Based on these
independently calculated fluxes Sundby and
Silverberg (1985) developed a depth-zonated flux
model for manganese in the St. Lawrence estuary.
Their depth-dependent reactive zones were
surface water, bottom water, sediment depth of
precipitation (oxidation), sediment depth of
dissolution (reduction) and depth of eventually
buried sediment. One example of their Mn-cycling
results is given in Fig. 7.21.

The cycling of elements in bioturbated surface
sediments can also be expressed in terms of turn-
over times defined as period of time required for a
complete oxidation - reduction cycle of the reac-
tive fraction. Additional consideration of the
bioturbation depth and the sedimentation rate
then reveals the number of redox-cycles before
ultimate burial. In Tab. 7.2 representative results
for estuarine (coastal) and slope sediments are
given.

7.4.5 Discussion: The Importance of Fe-
and Mn-Reactivity in Various
Environments

The above sections of this chapter have shown
the high variability of iron-input modes, fluxes and
reactivity towards oxidized and reduced species in
marine sediments. Within this section the impor-
tance of iron and manganese reactivity with
respect to the mineralization of organic matter as
well as to the chemical oxidation (reduction) of
reduced (oxidized) species within different
depositional environments will be discussed and
hopefully inspire further considerations.

In order to investigate the importance of iron
and manganese reduction and oxidation processes
one needs to determine their rates and compare

Table 7.2 Calculated turn-over times and times of redox cycling before burial in coastal and slope sediments. The
dynamic of redox cycling becomes evident by envisaging a complete oxidation - reduction cycle on a 2 - 6 months
time scale.
((1) Sundby and Silverberg 1985, (2) Aller 1980, (3) Canfield et al. 1993a, (4) Thamdrup and Canfield 1996)

Location Fe/Mn Turn-over time Times  cycled
[d] before burial

St. Lawrence estuary (1) Mn 43 - 207

Long Island Sound estuary (2) Mn 60 - 100

Skagerrak (3) Fe/Mn 70 - 250 130 - 300

Slope off Chile (4) Fe 70 31 - 77
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Fig. 7.21 Example of manganese cycling across the
sediment/bottom water interface and within the sediment
(modified after Sundby and Silverberg (1985). The applied
depth-dependent flux model is described in the text. Depo-
sitional, burial, and molecular diffusive fluxes as well as
the reduction rate within the zone of dissolution were
calculated independently.
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these with other early diagenetic reaction path-
ways. For example, rates of organic carbon mine-
ralization by each electron acceptor (O2, NO3

-,
Mn(IV), Fe(III), SO4

2-) are - strictly speaking -
necessary to make a statement on the relative
contribution of dissimilatory iron and manganese
reduction. For the case of iron and manganese,
the determination of such rates are problematic as
both electron acceptors may be reduced by
reduced species as well as by microbial respi-
ration. Additionally, pore water fluxes usually
strongly underestimate the true reduction rate as
adsorption and precipitation of Fe2+/Mn2+-bearing
minerals buffer the build-up within pore-water.
Therefore, ‘rates of dissimilatory Fe-oxide and
Mn-oxide reduction are the least well quantified of
the carbon oxidation pathways’ (Canfield 1993).

An overview of methods to determine the vari-
ous organic carbon oxidation pathways is provi-
ded by Canfield (1993). As these methods are
technically highly demanding and time-consu-
ming, only very few sediments have been investi-
gated with respect to the contribution of the dif-
ferent organic carbon oxidation pathways. Among
such studies different methods have been applied
which may bear additional uncertainties. Thus, a
present-day discussion on the importance of iron
and manganese must be speculative to some degree.
In Table 7.3 results of different studies concerning
the relative contribution of dissimilatory iron and
manganese reduction are summarized.

Notice that the results by Wang and Van
Capellen (1996) are model results for which some
results of Canfield et al. (1993 a,b) were used for
the basic data set. A comparison of different
locations reveals significant variabilities in the
biodiffusion coefficient. For open ocean sedi-
ments one can expect even much lower deposition
rates and biodiffusion coefficients. Similarly, the
proportion of dissimilatory reduction (relative to
dissimilatory plus chemical reduction) as well as
the proportion of organic carbon mineralization by
iron and manganese reduction (relative to total
organic carbon oxidation) varies significantly.

The above sites of investigation are distinct
by different depositional environments. Skagerrak
sediments were retrieved from water depths of 200
(S4), 400 (S6), and 700 (S9) meters and site S9 is
located in the central Norwegian Trough where solid
phase manganese content made up to 3.5 - 4 wt%.
The Panama Basin site is ~ 4000 m deep and is
located in the equatorial upwelling region as well
as in the vicinity of hydrothermal activity causing
a delivery of large amounts of reactive organic
matter and manganese to the sea floor. Sites from
the continental slope off Chile were investigated
during a period of intense upwelling. The
intensity of redox-cycling is controlled by the
intensity of bioturbation, the input and reduction
of reactive Fe(III)/Mn(IV), as well as by the
oxidation rate (section 7.4.4). Yet, Fe- and Mn-
cycling may only become quantitatively signi-

7.4 The Early Diagenesis of Iron in Sediments

Location Net-Fe/Mn Biodiff. coeff. Dissimilatory Total org. C
deposition Fe/Mn reduction decomposition

[µmol cm-2y-1] [cm-2y-1] [%] [%]

Fe 6 - 14 (3) 80 - 87 (2) 32 - 51 (2)

Skagerrak, S4/S6 Fe 13 - 24 (1) 71 - 84 (1)

Mn 1 - 15 (1) 3 - 24 (1) 0 (2)

Mn 5 - 10 (3) 19 (2) 90 (2)

Skagerrak, S9 Mn 13 (1) 100 (1)

Fe 14 (1) 0 (1) 0 (2)

Panama Basin (4) Mn 'high' 100 100 100

Cont. Slope Chile (5) Fe 5.1 9; 29 46; 84 12; 29

Table 7.3 Summary of results quantifying the relative contribution of dissimilatory iron and manganese reduction for
the decomposition of organic matter.
((1) Wang and Van Cappellen 1996, (2) Canfield et al. 1993b, (3) Canfield et al. 1993a, (4) Aller 1990, (5) Thamdrup and
Canfield 1996).
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ficant if reduction is predominantly coupled to
dissimilation and chemical reduction is unim-
portant. This is the case for the manganese
dominated sites Skagerrak S9 and Panama Basin
where neither the production of HS- nor of Fe2+ was
found. O2 consumption was (almost) completely
attributed to the reoxidation of Mn2+ in these cases.
In contrast, Skagerrak sites S4 and S6 as well as
sediments off Chile resemble situations where iron
is reduced chemically (HS-) by up to ~ 50 % and
only smaller amounts of ferric iron are available for
the dissimilation. A third situation can be inferred
for typical open ocean sediments where low Fe/Mn
and organic matter deposition along with low
bioturbation intensity occurs. Here organic matter
decomposition is restricted to aerobic respiration
and denitrification. Iron and manganese reduction
rates are presumably negligible, yet over a long
period of time a significant proportion of
manganese is redistributed and the composition of
iron oxide phases changes (Haese et al. 1998).

An extensive study in a shallow water, estu-
arine mixing zone elucidated ideal conditions for
efficient manganese cycling (Aller 1994).
Manganese turn-over was found to be most
intense during warm periods with intensive
bioturbation, well-oxygenated bottom water, and
moderate organic matter input. Under such
conditions manganese reoxidation consumed 30-
50 % of the benthic oxygen flux and manganese
reduction was mainly induced by HS-, FeS and
FeS2. As soon as bottom water became O2-
depleted the sedimentary Mn-cycle was reduced
as dissolved Mn escaped out of the sediment. The
influence of bioirrigation has not yet been
explicitly investigated but modeling results by
Wang and Van Capellen (1996) imply enhanced
metal cycling efficiency with increasing irrigation
due to more rapid Fe2+- / Mn2+-oxidation.

A conceptual model describing the importance
of iron and manganese reactivity in different
environments is only sketchy as results are scarce
and manifold aspects deserve further investi-
gations. A general complication concerns the
differentiation of dissimilatory and chemical
reduction of Mn-oxide when concurrent iron
reduction is apparent and further investigations
need to discriminate each reaction pathway. The
reactivity of smectite-bound iron has only been
shown qualitatively (Kostka et al. 1996; König et
al. 1997), yet quantifications with respect to
dissimilatory and/or chemical reactions are
missing. An important role of adsorbed Fe2+ /

Mn2+ is indicated (Sørensen and Thorling 1991;
Roden and Zachara 1996) but not proved by
sediment studies. Investigations focusing on the
importance of metal cycling and its influence on
pathways of organic matter decomposition are
scarce (Canfield et al. 1993a, Wang and Van
Capellen 1996), yet necessary to understand an
important link of the carbon cycle.

7.5 The Assay for Ferric and
Ferrous Iron

In order to study iron reactivity qualitatively and
quantitatively it is essential to quantify the
ferrous and ferric iron fractions of the present
minerals or mineral groups. With respect to the
determination of iron speciation the principal
problem is the rapid oxidation of ferrous iron.
Atmospheric oxygen diffuses into pore water
where it oxidizes dissolved ferrous iron ‘imme-
diately’ and starts oxidizing FeS and FeS2. Redu-
ced smectites may also become oxidized under air
atmosphere within hours. Therefore, if dissolved
iron and iron speciation of solid phase are to be
determined samples need to be conserved under
inert gas atmosphere. No extra care is needed for
the determination of total iron of solid phase.

Above a pH of 3 and in the absence of chela-
tors dissolved iron is only present as ferrous iron
under natural conditions. Therefore, the colored
complex that results from the reaction between
ferrous iron and a reagent can be analysed
colorimetrically and correlates with the concen-
tration of total dissolved iron. Most conveniently,
one can mix a drop of Ferrozine® solution
(Stookey 1970), one drop of H2SO4 (diluted 1:4)
and 1 ml of pore water in the glove box, wait until
complex formation is completed (20-30 minutes)
and quantify the iron concentration by the
intensity of the color at a wavelength of 562 nm.
To avoid matrix effects standards should be
prepared with artificial seawater.

The assay of solid phase ferrous and ferric
iron has a long tradition due to the early interest
in soil chemistry. Publications on extraction /
leaching conditions and results from varying
soils and sediments are extensive and thus,
within the scope of a textbook, only important
principals and a description of the (subjectively)
most important extractions can be given. Since a
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great variety of the quantitatively most important
iron bearing minerals / mineral groups is present
in marine sediments a series of different extrac-
tions is necessary in order to achieve a complete
distribution of ferrous and ferric iron. In general,
the extraction conditions applied to natural
sediments result from experiments conducted in
advance proving the dissolution of individual
minerals or mineral groups. Because the grain

size, degree of crystallinity, ionic substitution
within minerals and varying matrix constituents
influence the dissolution kinetics during the
extraction a clear-cut mineral specific determi-
nation is usually not possible with this approach.
Yet, extractions have been successfully applied to
show patterns of mineral (group) dissolution and
precipitation and to deduce reaction rates. For a
comparison with results of other studies exactly

Mineral Oxalate (1) Ascorbate (2) Dithionite (3) HCl (4) HF/H2SO4
(5) Cr(II)/ HCl (6)

am. Fe(OH)3 + (a) 34 - 72 (a)

+ (b)

Ferrihydrite + (b) + (c) + (b,c,d) + (b,c)

Lepidocrocite + (b) + (b) 7 (b)

Goethite - (a,b) - (c) 91 (c) - (a,b,c) + (g)

+ (b)

Hematite - (a,b) - (c) 63 (c) - (a,b,c) + (g)

+ (b,d,e)

Magnetite 60 (c) - (c) 90 (c) - (a,b,c) + (g)

- (b)

(am.) FeS + (c) + (f ) + (h)

Pyrite (FeS2) - (b,f ) + (h)

Chlorite - (b,c) - (c) 5 - 7 (c,b) 27 (c) 10 - 100 (g)

32 (b)

Nontronite - (b) 27 (b) 7 (b)

Glauconite - (b) 10 (b) 10 (b)

Garnet - (b) - (b) - (b)

Table 7.4 Solubility of iron bearing minerals derived under experimental conditions. + / - imply a solubility of ≥ 97 %
/ ≤ 3 %, values indicate a percentage of release.
(1) Schwertmann (1964): 0.2 M NH4

+-oxalate / 0.2 M oxalic acid; pH: 2.5, 2 h in darkness
(2) Ferdelman (1988): 10 g Na-citrate + 10 g Na-bicarbonate mixed in 200 ml distilled and deionized water, deaerated,

before 4 g ascorbic acid are added; pH: 7.5, 24 h
(3) Lord (1980): 0.35 M acetate / 0.2 M Na-citrate + 1.0 g Na-dithionite for each sample (∼ 1 g wet sediment in 20 ml

solution); pH: 4.8, 4 hours.
(4) Chao and Zhou (1983): 1 M HCl, 30 min; Canfield (1988): 1 M HCl 20-23 h; Cornwell and Morse (1987): 1 M HCl,

45 min; Kostka and Luther (1994): 0.5 M, 1 h.
(5) Haese et al. (1997): 1 ml distilled and deionized water + 1 ml conc. H2SO4 + 2 ml HF were added to ∼ 250 mg of wet

sediment under inert gas atmosphere and constant stirring over few minutes.
(6) Canfield et al. (1986): 15 ml of O2-free 1 M CrCl2 in 0.5 M HCl + 10 ml of 12 M HCl under inert gas atmosphere.

(a) Chou and Zhou 1983, (b) Canfield 1988, (c) Kostka and Luther 1994, (d) Ruttenberg 1992, (e) Mehra and Jackson 1960,
(f) Cornwell and Morse 1987, (g) Haese et al. 1997, (h) Canfield et al. 1986.
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the same extraction conditions (reagent compo-
sition, sediment : solution ratio, contact time)
must be applied.

Table 7.4 gives an overview of experimentally
derived dissolution behavior of iron bearing
minerals under some selected extraction condi-
tions. The investigation of total-Fe from ascor-
bate and dithionite solution can be determined by
ICP-AES or flame-AAS. Ferrous and ferric iron
from non-reducing or non-oxidizing extractions
can be determined by polarographic methods
(Wallmann et al. 1993) or colorimetrically with and
without the addition of a reducing agent (e.g.
hydroxylamine hydrochloride, Kostka and Luther
1994). During the acidic extractions evolving
sulfide can be trapped in a separate alkaline
solution (e.g. Sulfur Antioxidant Buffer, SAOB,
Cornwell and Morse 1987) where it can be
determined polarographically, by precipitation
titration with Pb or by a standard ion sensitive
electrode. Sulfide evolving from HCl extraction is
called Acid Volatile Sulfur (AVS).

The leaching with HF/H2SO4 as described
above and the subsequent polarographic
determination of ferrous and ferric iron is based
on work by Beyer et al. (1975) and Stucki (1981) in
order to quantify the silicate bound ferrous and
ferric iron. This extraction has hardly been
applied with respect to questions of early
diagenesis so far, yet, the silicate bound iron
fraction is quantitatively very important in marine
sediments and even a small reactive fraction of
this pool may be of overall significance for the
iron reactivity. As a complementary method to the
commonly applied extractions (Table 7.4) it
renders the calculation of the total iron speciation
in the sediment which may then be compared to
Mössbauer-spectroscopic results (Haese et al.
1997; Haese et al. 2000).

One of the pitfalls in the interpretation of
extraction results from natural sediments is caused
by the fact that the presence of Fe2+ complexed by
carboxylic acid catalyzes the reduction of crystal-
line iron oxides such as hematite (Sulzberger et al.
1989), magnetite (Blesa et al. 1989) and goethite
(Kostka and Luther 1994). In order to avoid this
catalytic dissolution of well-crystallized iron oxides
by Fe2+ during the oxalate extraction Thamdrup
and Canfield (1996) air-dried the sediment in
advance, thereby oxidizing FeS and FeCO3 to
ferrihydrite. In addition, they applied the anoxic
oxalate extraction and subtracted the released
amount of Fe2+ from the amount of Fe3+ determined

from the oxic extraction to calculate the poorly
crystallized iron oxide fraction as intended
according to Table 7.2.
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7.6 Problems

Problem 1

The Burdekin River is large river in northwes-
tern Australia, which discharges about 3.4 million
tons of sediment into the coastal sea.
a) Estimate how much total and highly reactive
iron is discharged from the catchments. Assume
that the sediment is of average continental crust
composition. b) Estimate how much highly reactive
iron remains in the estuary and in the near-coastal
zone. c) Which other source of iron must be
considered off-shore of northern Australia?

Problem 2

a) List 3 mineral properties of iron oxyhy-
droxides which influence the rate of microbial iron
reduction. b) Explain why wet-chemical extrac-
tions are not mineral specific.

Problem 3

Explain why bioturbation is important for the
rate of dissimilatory iron reduction in sediments.

Problem 4

Which are important variables affecting the
importance of dissimilatory Fe- and Mn-reduction
relative to other metabolic pathways?

Problem 5

a.) Define and explain the abbreviation DOP.
b.) Which extractions are used to determine
DOP.
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8 Sulfur Cycling and Methane Oxidation
BO BARKER JØRGENSEN AND SABINE KASTEN

This chapter deals with the biogeochemical trans-
formations of sulfur and methane in marine
sediments during early diagenesis. The term ‘early
diagenesis’ refers to the whole range of post-
depositional processes that take place in aquatic
sediments and are coupled either directly or
indirectly to the degradation of organic matter. We
focus on the processes that drive sulfate reduc-
tion together with the manifold associated biotic
and abiotic reactions that make up the sedimen-
tary sulfur cycle – including the various pathways
of sulfide oxidation. Furthermore, we give an
overview of the quantitative significance of
microbial sulfate reduction for the mineralization
of organic matter and oxidation of methane in
different depositional environments and discuss
the different approaches to quantify sulfate reduc-
tion through radiotracer measurements or mode-
ling of pore-water concentration profiles. As
sedimentary pyrite represents the most important
sink for seawater sulfate, the mechanisms of pyrite
formation are discussed. The sulfidization of
sediment organic matter is another sink for sulfur
in the modern ocean, but will not be discussed
here. For an overview of the processes and
pathways involved in the incorporation of sulfur
into organic matter, we refer to Orr and White
(1990), Krein and Aizenshtat (1995), Schouten et
al. (1995), and Werne et al. (2004).

Due to the profound alteration of the primary
sediment geochemistry across and below the
sulfate/methane transition (SMT, also called the
sulfate/methane interface), where the process of
anaerobic oxidation of methane (AOM) takes
place, we also dedicate a part of this chapter to
the processes of mineral dissolution and preci-
pitation occurring at and below the SMT. We will
demonstrate that sulfate reduction driven by
AOM significantly alters primary mineral
associations accompanied by strong pertur-
bations of mineralogical, isotopic and rock
magnetic signatures. These diagenetic processes

have a profound impact on the preservation of
numerous paleoceanographic proxy variables and
are therefore relevant for the interpretation of the
geological record.

Reviews of the sulfur cycle from a biogeo-
chemical or microbiological perspective have
recently been presented, e.g. by Amend et al.
(2004) and Canfield et al. (2005). The latter authors
describe the relationship between the different
microorganisms metabolizing sulfur compounds
and their environment and emphasize the orga-
nisms as well as the biogeochemical processes.

8.1 Introduction

With 1.3 · 109 Tg (teragram = megaton = 1012 g) of
sulfur present as sulfate, the oceans represent one
of the largest sulfur pools on earth (Vairavamurthy
et al. 1995). The main influx of sulfur to the oceans
occurs via river water carrying the products of
mechanical and chemical weathering of conti-
nental rocks. Relative to this fluvial input, the
atmospheric transport of sulfur is of minor
importance. It mainly consists of recycled oceanic
sulfate from seaspray, volcanic sulfur gases, H2S
released by sulfate-reducing bacteria, organic S-
bearing compounds released into seawater and
subsequently into the atmosphere by phyto-
plankton, and anthropogenic emissions of sulfur
dioxide. Due to the oxic conditions that prevail in
the world’s oceans, the dominant sulfur species in
seawater is by far the sulfate ion (SO4

2-). Sulfate is
the second most abundant anion next to chloride
and has a concentration of 29 mM (2.71 g/kg) in
ocean water.

Marine sediments are the main sink for sea-
water sulfate which demonstrates that the sedi-
mentary sulfur cycle is a major component of the
global sulfur cycle. The most important mecha-
nisms for removing sulfate from the oceans to the
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sediments are (1) the bacterial reduction of sulfate
to hydrogen sulfide, which subsequently reacts
with iron to form sulfide minerals, particularly
pyrite (FeS2), (2) the formation of organic sulfur,
i.e. the incorporation of sulfur into sedimentary
organic matter during early diagenesis, and (3) the
precipitation of calcium sulfate minerals in
evaporites (Vairavamurthy et al. 1995). With
respect to the relative importance of each
pathway, Vairavamurthy et al. (1995) point out that
although marine evaporites were important sinks
for sulfate from the Late Precambrian to the late
Tertiary, their rate of formation in today’s oceans,
over the last few million years, is quantitatively
insignificant. Thus, they conclude that the burial
of sulfide minerals and, to a less extent, of organic
sulfur represents the major sink for oceanic sulfur
in the modern ocean.

8.2 Sulfate Reduction and the
Degradation of Organic Matter

Throughout the water column of the ocean, ten
billion tons of organic particles derived from
plankton production in the photic surface layer
steadily sink towards the sea floor. The annual
deposition of organic material on the sea floor is

also about ten billion tons, i.e. of the same magni-
tude as the total organic particle pool in the
ocean. As the particles sink through the water
column, the organic material is gradually degraded
and respired back to CO2 and nutrients by
zooplankton and by microorganisms. Thus, with
increasing distance from the coast and with
increasing water depth, a gradually decreasing
fraction of the sinking particles remains to
ultimately land on the sea floor. On the shallow
continental shelves this fraction is generally in
the range of 20-50% of the phytoplankton
productivity in the overlying water (Jørgensen
1983). In the deep sea the fraction is only 1-2%
(Jahnke 1996). Deep sea sediments, therefore, play
only a minor quantitative role in the oceanic
carbon and nutrient cycles, as the following dis-
cussion will show.

As the particulate organic matter is deposited
on the sea floor it is immediately attacked by a
broad range of organisms that all contribute to its
degradation and gradual mineralization. At the sedi-
ment surface, macrofauna plays a particular role by
mechanically disintegrating the detritus and by
mixing of the upper sediment layer through their
burrowing and feeding activity (bioturbation),
whereby the organic material becomes repeatedly
exposed to oxygen. The benthic fauna also irrigates
the burrows in order to transport oxygen down for

Fig. 8.1 Schematic representation of the biogeochemical zonation in marine sediments. The names of the main zones were
proposed by Froelich et al. (1979) and Berner (1981, in parenthesis). The depth scale is quasi-logarithmic; the exact depths,
however, vary strongly and increase from the shelf to the deep sea. The pore water chemistry shows relevant dissolved
species. Peak heights and concentration scales are arbitrary. The chemical profiles reflect the depth sequence of the
dominant mineralization processes through which organic matter is oxidized to CO2 (Modified from Froelich et al. 1979).
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respiration, and possibly food particles, and
thereby extend the oxic zone (i.e. the zone contai-
ning O2) deeper down into the sediment. Due to
this macrofaunal activity, an extended surface layer
of sediment remains oxidized (i.e. with positive
redox potential and with many chemical species
such as iron or manganese in their oxidized state).
The macrofauna thus has a critical influence on the
early diagenesis in sediments and affects both the
pathways and the rates of many processes.

8.2.1 Geochemical Zonation

Apart from the heterogeneous chemical structure
caused by faunal activity, marine sediments have
a distinct biogeochemical zonation of the main
aerobic and anaerobic mineralization processes.
Fig. 8.1 shows how the dominant oxidants for
mineralization change with depth, regulated partly
by their concentration in sea water and partly by
the energy yield of the process by which they are
consumed (cf. Chapter 5). Many microorganisms
gain energy from the oxidation of organic matter
with an external oxidant (electron acceptor).
Thermodynamically, oxygen is the most favorable
electron acceptor. The supply of oxygen from sea-
water to the sediment is, however, highly transport-
limited.  In coastal marine sediments or in ocean
areas of high productivity, e.g. upwelling regions,
a high organic matter flux or low oxygen content
of the bottom water reduces the thickness of the
oxic surface layer of the sediment to only a few
mm or cm. In deep sea sediments the depth of
oxygen penetration may be a dm or a m or even
more (Chapter 6).

Where oxygen has been consumed by aerobic
respiration, the sediment is anoxic, i.e. O2-free, and
microorganisms utilize other terminal electron
acceptors for the mineralization of organic matter.
Listed in an order of decreasing energy gain these
are: nitrate (NO3

-), manganese oxides (represented
by Mn(IV)), iron oxides (represented by Fe(III)),
and sulfate (SO4

2-) (Fig. 8.1). The sediment layer
where NO3

-, Mn(IV) and Fe(III) reduction
predominate has been termed the suboxic zone
(Froelich et al. 1979). Although these electron
acceptors are energetically more favorable than
sulfate, they are usually less important biogeo-
chemically because of their limited supply to the
sediments. The processes of O2, NO3

- and Fe(III)
reduction are discussed in detail in Chapter 6 and 7.

Below the suboxic zone, sulfate reduction is
the main pathway of organic carbon oxidation and

it generally extends many meters down into the
sediment. The high concentration of sulfate in
seawater makes it a dominant electron acceptor
(Henrichs and Reeburgh 1987). With an average
concentration of about 29 mmol/l (Vairavamurthy
et al. 1995), sulfate concentrations in seawater are
more than two orders of magnitude higher than in
freshwater (about 0.1 mmol/l) (Bowen 1979). The
mineralization of organic material by sulfate in
marine sediments is, therefore, much more impor-
tant than in freshwater.

In the even deeper subsurface sediment, where
also sulfate is exhausted, there is little net oxi-
dation of the organic carbon but rather a
degradation to CH4 and CO2. As a stable end
product of carbon degradation in the absence of
oxidants, methane tends to accumulate in deep
sub-surface sediments from where it slowly
diffuses up towards the sulfate zone. Upon entry
into the lower sulfate zone, however, also methane
becomes oxidized completely to CO2. The organic
material initially deposited on the sediment
surface thus undergoes an efficient progressing
degradation as it becomes buried deeper and
deeper down through this sequence of diagenetic
processes. Only a small fraction escapes minera-
lization and remains after thousands or millions of
years to contribute to the great pool of fossil or-
ganic carbon in marine sediments.

The main degradation of organic material takes
place as it gradually becomes buried down
through the oxic and suboxic zones. The fraction
that still remains once it reaches the sulfate
reduction zone therefore depends on how deep
oxygen, nitrate, manganese and iron reduction
predominate. In coastal sediments with high
organic sedimentation these oxidants are rapidly
depleted and the main sulfate reduction zone
starts already a few cm below the sediment sur-
face. Although it is not so apparent from the
chemical zonation, sulfate reduction also occurs in
suboxic and even in oxic sediment where the
produced sulfide is rapidly reoxidized (Jørgensen
and Bak 1991). In the deep sea, the metal oxides
may be exhausted only several meters below the
surface and little organic material is available once
it becomes buried down into the sulfate reduction
zone. The overall sulfate reduction in sediments is
therefore very sensitive to the organic deposition
rate and is geographically strongly shifted
towards the continental margins and shelf sedi-
ments. In fact, a large part of the deep sea floor
lies under low-productivity ocean regions where
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the organic sedimentation is so scanty that sulfate
reduction is hardly detectable throughout the
entire sediment column. Fig. 8.2 shows such an
example, with data taken from an expedition of the
Ocean Drilling Program in the eastern tropical
Pacific Ocean.

Fig. 8.2 shows some of the main chemical
changes with depth in the 320 m thick deposit
overlying old ocean crust of Miocene age. The
mineralization of organic carbon and organic
nitrogen is apparent from the increase in pore
water concentration of total CO2 and ammonium. It
is striking that these concentrations drop back
towards sea water values at the bottom of the
sediment column. This is due to a slow advection
of sea water through the porous ocean crust
which removes these products of mineralization
and thereby influences the entire chemistry of the
sea bed and its exchange with sea water in this
part of the Pacific Ocean. Surprisingly, the micro-
bial activity at the bottom of the sediment column
is so low that even nitrate (and possibly oxygen)
remains in the crustal fluid and provides an
additional source of oxidant from below (Fig. 8.2,
middle frame). The Mn2+ gradient in the upper 100
m and its slight increase at 200-300 mbsf show the
importance of manganese reduction throughout
this deep sea sediment. Consequently, sulfate
reduction is inhibited by electron acceptors with
higher energy yield, and even a sediment layer of
320 m thickness generates only a marginal drop in
sulfate concentration (Fig. 8.2, right frame).

Methane producing microorganisms are even
more strongly inhibited and, although present
throughout the entire sediment deposit, methane
does not exceed a trace concentration of 0.2 µM.

8.2.2 Dissimilatory Sulfate Reduction

Two types of sulfate reduction can be distin-
guished: (1) assimilatory sulfate reduction which
serves the biosynthesis of sulfur-containing
organic compounds that are part of the cell
biomass, and (2) dissimilatory sulfate reduction
from which microorganisms conserve energy and
release H2S to the environment. With respect to
the mineralization of organic matter and the main
source of H2S in sediments, only dissimilatory
sulfate reduction plays a role and is the process
referred to when we discuss microbial sulfate
reduction. The sulfate reducing bacteria use
sulfate as the terminal electron acceptor for their
anaerobic respiration (see Chapter 5). As energy
and carbon source they use mostly short-chain
fatty acids (acetate, formate, propionate, butyrate)
and other small organic molecules that are
produced from the degradation and fermentation
of sediment organic matter. H2 is also a product of
fermentation and serves as an important energy
source for sulfate reduction in marine sediments.

Most of the known dissimilatory sulfate redu-
cers are bacteria, but also some thermophilic
archaea belong to this group (Rabus et al. 2004;
Stetter et al. 1993). For an overview of the most

Fig. 8.2 Pore water chemistry of a deep sea sediment from the eastern tropical Pacific Ocean (ODP Site 1225). The
core was obtained during Leg 201 of the Ocean Drilling Program and spans the entire sediment deposit, from the
sediment surface at 3760 m water depth down to the 11 million years old basaltic crust (hatched) at 320 mbsf (meter
below sea floor). Data from D’Hondt et al. (2003).
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common sulfate-reducing bacteria in marine
sediments we refer to Widdel (1988). Besides
sulfate there are also other oxidized sulfur
compounds, e.g. thiosulfate (S2O3

2-) and elemental
sulfur (S0), that can serve as the terminal electron
acceptor (Ehrlich 1996). They are, however, not of
similar quantitative importance as sulfate.

Dissimilatory sulfate reduction can be descri-
bed by the following net equation:

2 [CH2O] + SO4
2- → 2 HCO3

- + H2S       (8.1)

where [CH2O] simply represents organic material.
When the sulfate reducing bacteria are growing, a
part of the [CH2O] will be assimilated to produce
cell material. Hydrogen, in contrast, is used only
as an energy source and the cell assimilates CO2
or an organic subtrate:

4 H2 + SO4
2- + 2 H+ → 4 H2O + H2S        (8.2)

8.2.3 Sulfate Reduction and
Organic Carbon Mineralization

Continental margin sediments play a major role for
the overall budget of the global carbon cycle in
the modern ocean. Most burial of organic carbon
takes place on the continental shelf, in particular
in deltaic and other coastal sediments (Berner
1982; Hedges and Keil 1995). Thus, 82% of the
buried organic carbon is stored in shelf sediments

and 16% in continental slope sediments (Wollast
1998). Only 2% of the marine organic carbon burial
takes place in deep sea sediments. It is important
to note, however, that during glaciations the sea
level has in the past dropped by more than 100 m
and thereby exposed vast shelf areas to erosion
and transport of stored material into deeper water.
The current burial of organic material in shelf
sediments is, therefore, in a geological perspective
a transient state that may undergo major reallo-
cation during a future glaciation. On the other
hand, in case of a long-term global warming the
sea level would rise and the area and sediment
accumulation on the continental shelves would
increase.

The aerobic and anaerobic mineralization of
organic material is also strongly focused towards
the ocean margins. Table 8.1 presents examples
of the areal rates of organic carbon degradation
in a number of representative sediments, ranging
from coastal embayments to the deep sea. The
table also shows the fraction of the overall orga-
nic carbon mineralization that takes place by sul-
fate reduction. Sulfate reduction predominates
especially in sediments underlying highly pro-
ductive and/or oxygen-depleted coastal waters, e.g.
in the Black Sea, Cape Lookout Bight, or the up-
welling areas of the Chilean shelf. In other shelf
sediments sulfate reduction generally accounts for
25-50% of the mineralization (Jørgensen 1982). The
relative importance of sulfate reduction drops to
<1% as we move down the continental slope and it

Table 8.1  Mineralization of deposited organic carbon (Corg) in marine sediments and the role of sulfate reduction.
Data range from the shelf to the deep sea and are listed according to decreasing significance of sulfate reduction.
The Black Sea is included at the end as an example of an anoxic basin totally dominated by sulfate reduction. The
data are based on radiotracer measurements of sulfate reduction rates (* represents a modeled rate).

Water depth Rate of Corg Corg mineralized
 degradation by sulfate 

reduction
[m] [mmol m-2 d-1]

Cape Lookout Bight 9 114 72% Crill and Martens (1987)
Chilean shelf 34-122 10 56-79% Thamdrup and Canfield 

(1996)
Baltic Sea 16 9.8 44% Jørgensen (1996)

Gulf of Maine 50-300 10.7 43% Christensen (1989)
St. Lawrence Estuary 335 10 26% Edenborn et al. (1987)

E. South Atlantic 850-3000 0.28-3.1 9-40% Ferdelman et al. (1999)

Black Sea, anoxic 130-1176 1.30-2.86 ~100% Jørgensen et al. (2004)

Location Reference

Eastern tropical 
Pacific

3760 0.5 0.05%* D'Hondt et al. (2004)      
Jahnke (1996)
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is insignificant in vast regions of the deep sea.
The additional source of H2S from the anaerobic
degradation of organic sulfur plays a minor role
relative to this dissimilatory sulfate reduction.

Radiotracer measurements of sulfate reduction
rates have mainly been carried out in shallower
waters, so that the data base for sediments below
500 m water depth is very limited. A detailed study
was done by Ferdelman et al. (1999) between 855
and 4766 m water depth on the continental margin
of southwest Africa. This area forms part of the
Benguela upwelling system. The authors demon-
strated that the depth-integrated sulfate reduction
rates over the upper 20 cm of the sediment
strongly correlated with the concentrations of
organic carbon in the surface sediments. They
further estimated that sulfate reduction at for
example 3700 m water depth accounts for 3 to 16 %
(Table 8.1) of total oxygen consumption. Thus,
even on the lower continental slope in this region,
a small but significant fraction of organic matter is
degraded anaerobically through sulfate reduction.

Canfield (1993) and Canfield et al. (2005) have
compiled published data on oxygen uptake and
sulfate reduction in marine sediments and grouped
these into different coastal types and into diffe-
rent depth regions of the ocean. Based on their
data, Fig. 8.3 presents the relationship between
aerobic mineralization and sulfate-based anaerobic
mineralization in sediment types comprising the
entire ocean floor. The sulfate reduction rates

were determined experimentally by the radiotracer
method in shelf and slope sediments whereas they
were modeled from pore water sulfate profiles in
deep sea sediments (see Section 8.6). It is striking
that shelf and slope sediments generally fall along
or slightly below a line of equimolar carbon
mineralization by oxygen and by sulfate, thus
confirming that sulfate reduction in ocean margin
sediments accounts for 25-50% of the entire
organic carbon mineralization. Mangrove sedi-
ments provide an exception as they have predo-
minant aerobic mineralization, perhaps due to an
efficient oxygen transport by the mangrove aerial
roots down into the root zone where most
degradation of organic material takes place. Below
2000 m depth in the ocean sulfate reduction
clearly looses importance relative to oxygen respi-
ration and to suboxic processes such as nitrate,
manganese or iron reduction.

This trend is illustrated in Fig. 8.4 where the 15
sediment types presented in Fig. 8.3 have been
grouped into five depth zones of the global ocean.
The graph shows how strongly the mineralization
of organic matter in the sea bed is shifted towards
ocean margin and shelf sediments. The continen-
tal shelf out to 200 m water depth comprises only
8% of the global ocean area of 3.6 · 108 km2. Yet,
61% of the entire benthic oxygen uptake and 68%
of the sulfate reduction take place here. If we
include also the continental slope down to 1000 m
water depth, this upper ocean margin includes

Fig. 8.3  Sulfate reduction versus oxygen uptake rates in marine sediments grouped according to ocean margin type
and water depth: (1) Salt marsh; (2) mangrove; (3) shallow, high deposition; (4) seagras beds; (5) intertidal; (6)
estuaries and embayments; (7) upwelling; (8) shelf - depositional; (9) shelf - non depositional; (10) upper slope
(200-1000 m); (11) lower slope (1000-2000 m); (12) rise (2000-3000 m); (13) abyss (3000-4000 m); (14) abyss
(4000-5000 m); (15) abyss (>5000 m). The line indicates equimolar mineralization rates of organic carbon by
oxygen consumption and by sulfate reduction. The double-logarithmic plot is based on data compiled by Canfield
(1993) and Canfield et al. (2005).
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even 70% of the oxygen uptake and 96% of the
sulfate reduction. In other words, according to the
data compiled by Canfield et al. (2005) only 30% of
the global oxygen uptake of the sea floor and 4%
of the sulfate reduction take place at depths below
1000 m, covering 87% of the ocean. Although a
larger fraction of oxygen respiration than sulfate
reduction occurs in deep sea sediments below
1000 m, still ca. 40% of the aerobic mineralization
below 1000 m ocean depth occurs along the
continental margins (Jahnke 1996).

The accuracy of such global estimates is
clearly limited by the available data from which
they were calculated. Other estimates of the total
global mineralization rates in the sea bed vary by
at least two-fold. Thus, the estimate of 23 · 1013

mol yr-1 by Canfield et al. (2005) is slightly higher
than the 19 · 1013 mol yr-1 estimated by Jørgensen
(1983) and close to the 22  · 1013 mol yr-1 estimated
by Smith and Hollibaugh (1993). Middelburg et al.
(1997) calculated a range of 15-26 · 1013 mol yr-1,
depending on whether the geometric or the
arithmetric mean value of each depth interval was
used. The low contribution of deep sea sediments
to the global benthic oxygen respiration is consis-
tent with the earlier budget calculations of
Jørgensen (1983). Middelburg et al. (1997)
estimated that 28% of the global sea floor
mineralization and 7% of the sulfate reduction take
place below 2000 m water depth. It should be
noted that the low contribution of sulfate reduc-
tion in deep sea sediments may be affected by the
method of sulfate reduction rate determination. In

sediments of the shelf and upper slope this is
primarily by radiotracer experiments whereas in
the deep sea rates were modeled. The modeling
approach provides net rates rather than gross
rates as obtained by the radiotracer method and
thereby tends to underestimate the total rates, in
particular in the near-surface sediment layer (see
Section 8.6).

Since methane formation is shifted at least as
strongly as sulfate reduction towards sediments
with high organic deposition, an equally small
fraction of the global biogenic methane produc-
tion presumably takes place in the deep sea below
1000 m.

The global mineralization of sediment organic
matter by oxygen was estimated in Fig. 8.4 to be
23 · 1013 mol O2 yr-1 while the global sulfate reduc-
tion was 7.5 · 1013 mol SO4

2- yr-1. According to
simple stoichiometries of oxygen respiration and
sulfate reduction, one mol of oxygen oxidizes one
mol of organic carbon to CO2 whereas one mol of
sulfate oxidizes two mol of organic carbon
(Chapter 5):

[CH2O] + O2 → CO2 + H2O (8.3)

2 [CH2O] + SO4
2- + 2 H+ → 2 CO2 + H2S + 2 H2O

(8.4)

This means that the global estimate of sulfate
reduction should be multiplied by two in order to
convert it to carbon equivalents. Thus, sulfate

Fig. 8.4  Relative distributions of total ocean area and of global ocean oxygen uptake or sulfate reduction, grouped
into five depth zones of the ocean. Based on data compiled by Canfield (1993) and Canfield et al. (2005).

8.2 Sulfate Reduction and the Degradation of Organic Matter
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oxidizes 15 · 1013 mol organic carbon per year. This
is equivalent to 65% of the global sediment oxy-
gen uptake. The major part of the sulfide produ-
ced from sulfate reduction, around 90% in many
shelf sediments, does not become buried in the
sediment but is directly or indirectly reoxidized
back to sulfate (see Section 8.5). The complex
process of sulfide oxidation will thereby ultimately
consume oxygen corresponding to the net
equation:

H2S + 2 O2 → SO4
2- + 2 H+ (8.5)

It is a striking consequence of these simple
calculations that about half of the entire oxygen
uptake in shelf sediments, where most sulfate
reduction takes place, is used for the reoxidation
of sulfide or of reduced metals originally reduced
by reaction with sulfide (cf. Jørgensen 1977).
Thus, if 90 % of 15 · 1013 mol O2 yr-1 is consumed in
this process, it means that 13 out of 23 mol O2 yr-1

or 56% of the oxygen is somehow involved in the
reoxidation of sulfide (see Section 8.5). Only the
remaining half of the oxygen is therefore available

for all the animals and heterotrophic microorga-
nisms that oxidize organic matter directly through
their aerobic respiration.

8.3 Anaerobic Oxidation of
Methane (AOM)

Below the sulfate zone, methanogenesis is the
main terminal pathway of organic carbon minera-
lization. Methane is produced exclusively by
anaerobic archaea that utilize a narrow spectrum
of substrates for the process (Whitman et al.
1999). Methanogenic bacteria or eukaryotes are
not known to exist. The primary sources of
methane formation in marine sediments are from
the splitting of acetate (CH3COO-) and from the
reduction of CO2 by hydrogen (Eq. 8.6 and 8.7):

CH3COO- + H+ + → CH4 + CO2 (8.6)

CO2 + 4 H2 → CH4 + 2 H2O (8.7)

Fig. 8.5  Profiles of pore-water sulfate and methane concentrations and of rates of sulfate reduction and methane
oxidation for a sediment core recovered from the Kattegat (Station B; 65 m water depth). The broken horizontal
line denotes the depth where sulfate and methane were at equimolar concentrations - indicating the peak of the
sulfate/methane transition. From Iversen and Jørgensen (1985).
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As minor sources, also methanol, formalde-
hyde, and some methylated compounds such as
methyl amines and methyl mercaptans may be
used for methanogenesis. The energy yields by
these terminal steps in organic degradation are
lower than by anaerobic respiration, e.g. with
nitrate, metal oxides or sulfate. Sulfate reducing
bacteria therefore compete effectively with the
methanogenic archaea for substrates which both
groups of organisms can utilize, primarily acetate
and H2. As a result, methane is not produced as
the main end product in marine sediments until
sulfate has been largely depleted by sulfate
reducing bacteria and electron acceptors for a
respiratory oxidation of the organic matter are
therefore no longer available (Martens and Berner
1974). Only small amounts of methane may still be
generated in the sulfate zone from non-competi-
tive methylated substrates. This is a major diffe-
rence from the degradation of organic matter in
freshwater sediments where sulfate is highly
limited and methane is the main end product of
anaerobic mineralization.

Methane is a chemically unreactive molecule
that requires microbiological catalysis for the
activation and oxidation to CO2 at environmental
temperatures. Aerobic bacteria that oxidize methane
with O2 are well known from diverse environments,
including sea water and marine sediments, and
have been studied in pure culture in the laboratory
(Bowman 2000). These earlier physiological and
biochemical studies indicated that biological
methane oxidation requires molecular oxygen.
Anaerobic oxidation of methane (AOM) was
recognized by geochemists already in the 1970’ies,
however, as a key process in marine sediments
(Reeburgh 1969, 1976; Martens and Berner 1974;
Barnes and Goldberg 1976). A large number of
studies based on reaction-transport modeling,
radiotracer experiments, inhibition techniques, and
stable isotope data have since then firmly
established that methane is oxidized biologically in
the absence of O2 at the transition between sulfate
and methane. The microorganisms responsible for
the process remained elusive, however, and even
today it has not been possible to bring anaerobic
methane oxidizers into pure culture for detailed
laboratory study. In spite of this, the identity of the
organisms has now been discovered and research
on the biogeochemistry of anaerobic oxidation of
methane has made significant progress in recent
years (see reviews by Valentine and Reeburgh
2000; Hinrichs and Boetius 2002).

8.3.1 The AOM Zone in Marine Sediments

Most of the methane produced in the sulfate
depleted sub-surface sediment diffuses upwards
along a steep methane gradient until it reaches the
lower sulfate zone and becomes oxidized. Within
this reaction zone, referred to as the “sulfate-
methane transition” (SMT), pore-water methane
and sulfate are both consumed to depletion. This
distinct zone is typically located one to several
meters below the sediment surface in continental
margin sediments and plays a key role in the
biogeochemistry of the sea bed. In this zone most
of the energy and reducing power of organic
carbon mineralized to CO2 and CH4 below the
sulfate zone comes into contact with an efficient
electron acceptor, sulfate, and is finally oxidized to
CO2. Since this methane flux comprises most of
the subsurface methanogenesis,  the anaerobic
oxidation of methane integrates the degradation of
buried organic carbon from the lower boundary of
the sulfate zone to very deep sediment layers
which were deposited many thousands to millions
of years ago. The coupled sulfate-methane reac-
tion has been proposed to proceed according to
the following net equation, assuming a one to one
stoichiometry between methane and sulfate (e.g.
Murray et al. 1978; Devol and Ahmed 1981):

CH4 + SO4
2- → HCO3

- + HS- + H2O (8.8)

Figure 8.5 shows an example of the sulfate-
methane transition zone in a continental shelf
sediment from Kattegat (Denmark) at the transi-
tion between the Baltic Sea and the North Sea.
The sediment was characterized by a high sedi-
mentation rate (0.16 cm yr-1) and consisted of fine-
grained silt and clay with an average organic
matter content of 12% (Iversen and Jørgensen
1985). Sulfate diffused downwards to become
depleted by sulfate reduction at 160 cm sediment
depth while methane diffused upwards and
penetrated ca. 40 cm into the lower sulfate zone to
ca. 120 cm depth. In order to determine anaerobic
methane oxidation rates in the sulfate-methane
transition zone, Iversen and Jørgensen (1985)
carried out radiotracer measurements of sulfate
reduction using 35SO4

2- and of methane oxidation
using 14CH4. Fig. 8.5 (right frame) shows that the
rates of sulfate reduction were high, starting from
below the 10-15 cm deep suboxic sediment, and
gradually dropped with increasing depth and age
in the sediment. In the SMT, the rates increased
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again with a peak just where sulfate and methane
reached the same molar concentrations (small
insert in Fig. 8.5). At that depth also the anaerobic
oxidation of methane peaked with similar rates as
the sulfate reduction. The integrated rates of
methane oxidation in the transition zone accoun-
ted for 89 % of sulfate reduction at this depth.
This example illustrates how bacterial sulfate
reduction changes from organiclastic (based on
the degradation of organic material) to methano-
trophic (based on the oxidation of methane) down
through the sediment column.

The pore water gradients of sulfate and
methane and the depth of the AOM zone may vary
strongly among sediments, depending on water
depth, organic flux and other factors. Fig. 8.6
shows an example from the continental slope of
the Benguela upwelling area in the southern
Atlantic. The sulfate profile here shows little
depletion in the top 0-2 m below which sulfate
dropped almost linearly down to the sulfate-
methane transition located at 5-6 m depth below
sea floor. The concentration of H2S peaked right at
the SMT from where the H2S concentration
decreased both upwards towards the sediment
surface and downwards (discussed below in
Section 8.5). Based on pore-water concentration
profiles, Niewöhner et al. (1998) calculated the
diffusive flux of sulfate and methane into the
transition zone in the sediment. Their calculations
showed that anaerobic methane oxidation
accounted for 100% of the deep sulfate reduction

within the sulfate-methane transition zone, i.e. it
could consume the total diffusive sulfate flux.
These findings demonstrate that methane can be
the primary electron donor for sulfate reduction in
the sulfate-methane transition zone.

The methane profile in Fig. 8.6 shows that
below the steep gradient at the top of the methane
zone the methane concentrations gradually drop
again. This is an artifact due to degassing of
methane immediately upon core retrieval. Due to
the relatively low solubility of methane and the
large pressure difference between in situ depth
and sea surface, methane is highly supersaturated
in the pore water upon recovery of sediment cores
and escapes as bubbles before sampling on board
ship. For this reason, true methane concentration
gradients above atmospheric pressure are difficult
to determine and only recently have pressurized
core barrels been introduced (Dickens et al. 2003).

8.3.2 Energy Constraints and Pathway of
AOM

Microorganisms able to perform anaerobic
oxidation of methane were only recently disco-
vered through intensive studies, not of the
“normal” subsurface SMT, but of unique marine
environments in which AOM dominates the
carbon and sulfur cycles, such as sediments
associated with gas hydrates and methane seeps.
(Gas hydrates are ice-like solids - generally
composed of water and methane - which occur

Fig. 8.6  Pore-water concentration profiles from gravity core GeoB 3714-9 from the Benguela upwelling area (2060
m water depth), South Atlantic. The shaded bar marks the sulfate-methane transition zone. The methane sample
labeled C.C. was taken from the core catcher immediately after core recovery. From Niewöhner et al. (1998).
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naturally in sediments under conditions of high
pressure, low temperature and high methane
concentrations; see also Chapter 14). In such
sediments from the Hydrate Ridge at 700 m water
depth off the Oregon coast, conspicuous micro-
bial aggregates, apparently responsible for the
anaerobic oxidation of methane, were first
observed (Boetius et al. 2000). The 3-5 µm large
aggregates were stained with fluorescent mole-
cular probes and studied under the fluorescence
microscope. They were all found to consist of a
central colony of archaea overgrown by sulfate
reducing bacteria. In the AOM zone of the
sediment, the biomass of these aggregates excee-
ded the biomass of all other microorganisms by an
order of magnitude, thus indicating that they were
indeed responsible for the methane oxidation with
sulfate. Since then, similar aggregates have been
found world-wide in diverse methane enriched
surface sediments (Orphan et al. 2001, 2002;
Michaelis et al. 2002; Knittel et al. 2005).

Further evidence for the identity of the
anaerobic methane oxidizers had come from
isotope analyses of specific lipid biomarkers in
sediments with high rates of AOM. Relative to
marine organic carbon or bicarbonate, methane is
highly enriched in the lighter carbon isotope, 12C,
over the heavier carbon isotope, 13C, with δ13C
values ranging from -50 to -90‰ (Whiticar 1999;
see also Chapter 10). The archaeal biomarkers in
these sediments were strongly enriched in 12C,
which indicated that methane served as the main
carbon source for the microorganisms (Hinrichs et
al. 1999; Elvert et al. 2000; Thiel et al. 2001). Also
biomarkers derived from bacteria showed extreme

12C enrichment and indicated that the associated
sulfate reducers were also involved in the AOM
process (Hinrichs et al. 2000; Elvert et al. 2000;
Pancost et al. 2000). Final evidence that the
aggregates carried out anaerobic oxidation of
methane was provided by a recently developed
SIMS technique (secondary ion mass spectro-
metry) by which carbon isotopic analysis could be
done on individual microscopic AOM aggregates
and thereby confirm that their cell material
contained the 12C depleted isotope signal of
methane (Orphan et al. 2001).

Equation 8.8 above proposed a net equation for
anaerobic oxidation of methane by sulfate that is
based on modeled pore water profiles and
laboratory experiments with sediment enrichments.
No single microorganism is yet known, however,
that is able to carry out such a complete oxidation
of methane to bicarbonate and it remains an open
question whether such organisms exist. Instead,
the process may proceed in two steps involving an
intermediate electron carrier that is transferred from
the archaea to the sulfate reducers within the AOM
aggregates. Hoehler et al. (1994) first suggested
that AOM is carried out by a consortium of archaea
and sulfate reducing bacteria and that hydrogen
might serve as such an intermediate that is
transferred from the methane oxidizers to the
sulfate reducers in a two-step reaction (Fig. 8.7):

I. CH4 + 2 H2O → CO2 + 4 H2 (8.9)

II. SO4
2- + 4 H2 + H+ → HS- + 4 H2O (8.10)

Sum of Eq. 8.9 and 8.10 = Eq. 8.8

Fig. 8.7  Schematic of AOM aggregate with a syntrophic metabolism among two members that only in combination
can catalyze the complete oxidization of methane with sulfate. A transfer of H2 or acetate (CH3COO-) from
methanotrophic archaea to sulfate reducing bacteria has been proposed as an intermediate in the net process. Such
an interspecies transfer of hydrogen or organic carbon is still hypothetical and has not been directly demonstrated.

8.3 Aaerobic Oxidation of Methane (AOM)
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The first step in this reaction (Eq. 8.9) is
obviously a reversal of methanogenesis from CO2
and H2 shown in Eq. 8.7. How can a metabolic
process run in two opposite directions and yet
yield energy for both types of archaea?  Hoehler
et al. (1994, 1998) showed that the energy yield is
highly dependent on the H2 concentration which,
in turn, is regulated by the predominant process
of mineralization. In the deep methanogenic zone
the H2 concentration is relatively high, about 10
nM, so that methanogenesis (Eq. 8.7) is an exer-
gonic, energy yielding process. In the sulfate
zone, the sulfate reducing bacteria maintain such a
low H2 concentration, about, 1 nM, that it falls
below the concentration required for an exergonic
methanogenesis. On the contrary, the reversal of
methanogenesis (Eq. 8.9) becomes exergonic and
AOM may proceed. This strong dependence on
H2 concentration could explain why the methane
oxidizing archaea grow in aggregates together
with the sulfate reducing bacteria. Only when the
sulfate reducers efficiently scavenge H2 as it is
produced by the archaea are these able to conti-
nue oxidizing methane.

Although this idea of a syntrophic association
based on inter-species hydrogen transfer is very
appealing, it explains only a part of the obser-
vations on AOM. Since both the methanotrophic
archaea and the sulfate reducing bacteria carry the
light carbon isotopic signal of methane, it is a
question how also carbon is transferred in this
syntrophic association. An alternative pathway
could therefore be the conversion of methane to
acetate and the subsequent oxidation of acetate
(CH3COO-) by the sulfate reducers with a con-
current incorporation of part of the acetate into
their cell biomass:

CH4 + HCO3
- → CH3COO- + H2O (8.11)

SO4
2- + CH3COO- → HS- + 2 HCO3

- (8.12)

Further possibilities exist, such as a combined
transfer of acetate and hydrogen or a transfer of
formate, both of which may explain the δ13C obser-
vations and be more compatible with the energetic
constraints on AOM (Valentine and Reeburgh
2000; Sørensen et al. 2001). Further research is
required to understand the basic mechanism and
regulation of this key process in the methane
cycle.

Although AOM provides an almost complete
barrier to methane escape from the sea floor in

sediments with diffusive methane flux, the process
is surprisingly sluggish and takes place over a
sediment horizon and a time scale that highly
exceed that of most other microbial processes in
gradient environments. Thus, the life-time of
methane upon diffusion up into the sulfate zone is
generally on the order of months to years
(Jørgensen et al. 2004). This is a reason why we
prefer the term “sulfate-methane transition” rather
than “sulfate-methane interface”. A reason for the
slow turnover may be that the methane oxidizing
community is operating near the theoretical mini-
mum in energy yield required for microbial growth.
The estimated energy yield of AOM in a number
of sedimentary environments is -20 to -25 kJ per
mol of methane consumed (Hoehler et al. 1994)
which is less than the energy required for the
formation of ATP (see Chapter 5). If the process
does indeed involve a two-step reaction such as
suggested in Eq. 8.9-8.10 or 8.11-8.12, then this
energy even has to be shared among two partners.
This may explain why the growth of AOM aggre-
gates is exceedingly slow and requires many
months for a doubling of the biomass in labora-
tory incubations (Nauhaus et al. 2002). It may also
explain why anaerobic methane oxidizing micro-
organisms have not yet been isolated in pure
culture in the laboratory. They simply grow so
slow that isolation may take many years. These
observations demonstrate, however, that proces-
ses catalyzed by microbial communities in the
environment can be highly efficient in energy
conservation and operate close to the theoretical
thermodynamic limits (Schink 1997; Hoehler et al.
2001; Jackson and McInerney 2002).

By the use of molecular methods based on
sequence information from 16S rRNA genes, a
broad diversity of archaea that all belong to the
Euryarchaeota (Orphan et al. 2002; Knittel et al.
2005) and sulfate reducing bacteria mostly
belonging to the Desulfosarcina-Desulfococcus
branch of the Delta-proteobacteria (Boetius et al.
2000; Orphan et al. 2001) has been consistently
found to be associated with anaerobic oxidation
of methane. Although the genetic identity of AOM
microorganisms is now revealed, the physiology
and biochemistry of AOM are still incompletely
understood. A recent clue came from the discove-
ry that the terminal key enzyme of methano-
genesis, methyl coenzyme M reductase, and its
encoding gene seem also to be involved in the
process of AOM in a slightly modified form, thus
indicating that AOM may partly be a reversal of
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methanogenesis in certain archaea (Krüger et al.
2003; Hallam et al. 2003). In this respect,
microbiological and biogeochemical research is
currently providing mutually supporting evidence
for the nature of AOM.

8.3.3 Quantitative Role of AOM

Since methane formation is largely restricted to
sediment layers below the depth of sulfate pene-
tration, there is relatively little organic carbon with
low reactivity left to fuel methanogenesis. When
integrated through the sediment column, the
amount of organic carbon mineralized with the
formation of methane is generally only 5-20% of
that mineralized by sulfate reduction (Canfield
1993; Canfield et al. 2005; Table 8.2), with 10%
possibly representing a mean value. Since sulfate
reduction typically accounts for half of the
organic mineralization in ocean margin sediments,
it should only be about 5% of the total mineralized
organic carbon that is ultimately degraded to
methane. In deep sea sediments the fraction is
presumably lower but relevant data to confirm this
are lacking. In some coastal environments with
very high organic loading, such as Cape Lookout
Bight on the Atlantic coast of North America,
much more of the organic carbon may be buried
below the sulfate zone and be degraded to
methane (Crill and Martens 1986). Also in ocean

margin sediments where the methane flux is
enhanced due to subduction or is focused in
association with methane seeps or surficial gas
hydrate accumulations, methane may provide the
main carbon source for the entire sulfate reduction
(e.g. Boetius and Suess 2004). Table 8.2 provides
selected examples of the contribution of methane
as a carbon and energy source for sulfate
reduction in ocean margin sediments.

As discussed in Section 8.6, the sulfate reduc-
tion rates determined from modeling of sulfate
profiles may underestimate the rates in the most
active layers of near-surface sediment, and model
comparisons of sulfate and methane fluxes
therefore tend to indicate a greater role of methane
for the entire sulfate reduction than data based on
experimental rate measurements. From interstitial
flux calculations, Reeburgh (1976, 1982) thus
estimated that approximately 50 % of the net
downward sulfate flux at a Cariaco Trench station
- an anoxic basin - could be accounted for by
methane oxidation. For Saanich Inlet sediments,
75 % of the downward sulfate flux was attributed
to anaerobic methane oxidation according to
simple box model calculations (Murray et al. 1978).
Devol et al. (1984) obtained lower percentages of
23 to 40 % of the downward sulfate flux consumed
by methane oxidation for these same sediments
using a coupled reaction diffusion model. Iversen
and Jørgensen (1985) reported that in Kattegat

Table 8.2  Role of methane as a carbon source for sulfate reduction in marine sediments. The compiled data show
cumulative sulfate reduction rates measured by radiotracer technique, either over the entire sulfate zone, or in the
upper 0-15 cm combined with modeling below that depth. The contribution of methane was calculated from the
diffusion flux of methane up into the lower sulfate zone. In other data sets where sulfate reduction rates are
determined only by modeling, or where also methane oxidation was measured by radiotracer technique, the calculated
% of SRR from CH4 is higher than shown here. (SRR = sulfate reduction rate).

8.3 Aaerobic Oxidation of Methane (AOM)

Water depth SRR CH4 flux,
[m] [mmol m-2 d-1] % of SRR

Skan Bay, Alaska 65 19 8% Alperin and Reeburgh (1988)
Thode-Andersen and Jørgensen (1989)

Knab and Fossing (unpubl.)
Kattegat-Skagerrak 65-200 4.8-5.6 4-6% Iversen and Jørgensen (1985)

Saanich Inlet 225 17 9% Devol et al. (1984)
Namibian slope 1372-2060 1.25-2.22 10-12% Fossing et al. (2000)
Chilean slope 799-2744 0.53-0.82 8-24% Treude et al. (2005)

Crill and Martens (1983, 1986)
Chanton (1985)

Black Sea, anoxic zone 130-1176 0.65-1.43 7-18% Jørgensen et al. (2001)

Cape Lookout Bight 9 24-27 40%

Location References

Århus Bay, Baltic Sea 18 2.90 3%
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and Skagerrak sediments methane oxidation
accounted for only 10 % of the electron donor
requirement for the depth integrated sulfate reduc-
tion. In this case sulfate reduction rates were mea-
sured by radiotracer technique throughout the
entire sulfate zone.

The proportion of sulfate used for organic
matter degradation in comparison to sulfate used
for anaerobic methane oxidation may be calculated
under molecular diffusion conditions from the
shape of sulfate profiles. Borowski et al. (1996)
inferred that the linear sulfate pore water concen-
tration profiles found in Carolina Rise and Blake
Ridge sediments imply that anaerobic methane
oxidation is the dominant sulfate consuming
process. They calculated the upward methane flux
from measured sulfate pore water profiles
assuming that the downward sulfate flux is
stoichiometrically balanced by upward methane
flux. In this way they used the sulfate concen-
tration profiles to calculate the methane flux from
the underlying methane gas hydrates which had
been documented by seismic profiling. Niewöhner
et al. (1998) found similar linear sulfate concen-
tration profiles in sediments of the Benguela
upwelling area (see Fig. 8.6) and concluded that
anaerobic methane oxidation could account for the
entire deep sulfate flux.

These studies demonstrate that the sulfate-
consuming process occurring in the deeper
sediments, i.e. AOM, is the dominant factor deter-
mining the shape of the sulfate pore water
profiles, although oxidation of organic matter
demonstrably occurs throughout the entire sulfate
zone. Linear sulfate profiles can, therefore, be
used to calculate the upward methane flux (e.g.
Devol and Ahmed 1981; Borowski et al. 1996;
Niewöhner et al. 1998) but they do not provide
accurate sulfate reduction rates occurring in near-
surface sediments. Concave-down pore water
profiles may develop when methane dependent
sulfate reduction in deeper sediment layers is less
important as is schematically illustrated in Figure
8.8 or if transient conditions prevail in the pore
water system (Hensen et al. 2003; Kasten et al.
2003).

Reeburgh et al. (1993) estimated the global
methane flux in marine sediments to a mean value
of 70 Tg yr-1 or 0.5 · 1013 mol CH4 yr-1. This is
equivalent to 2% of the entire organic carbon
mineralization via oxygen respiration and about
7% of the global sulfate reduction. A more recent
estimate by Hinrichs and Boetius (2002) of AOM

in marine sediments yielded a four-fold higher
number, 300 Tg yr-1 or about 2 · 1013 mol CH4 yr-1.
These calculations do not include hot-spots of
methane fluxes from cold seeps, hot vents or
surficial gas hydrates, since reliable estimates of
the total areal distribution of such sites are not
yet available. Methane seeps occur both at active
and passive margins but are highly focused and
often variable over time. Judd et al. (2002) made an
estimate of the global flux of methane from the sea
bed of 16-40 Tg yr-1, i.e. much less than the
estimated subsurface flux. Data compiled by
Hinrichs and Boetius (2002) indicate that, even if
the area affected by methane seepage at
continental margins is below 1%, this might have

Fig. 8.8  Schematic profiles of sulfate and methane in marine
sediments. A) In sediments with low methane flux, sulfate re-
duction based on oxidation of sediment organic matter predo-
minates throughout the sulfate zone. B) In sediments with high
methane flux, sulfate reduction based on anaerobic oxidation of
methane tends to straighten out the sulfate profile.
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a significant impact on the total methane budget.
Therefore, a more extensive mapping of seepage
areas, as well as a broader data base on diffusive
methane fluxes, is needed for more accurate
calculations of the methane cycling in the global
sea bed (see also Chapter 14).

8.4 Effects of Sulfate Reduction
on Sedimentary Solid Phases

Sulfate reduction, occurring either due to the
oxidation of methane or the mineralization of
organic material, can lead to a pronounced
overprint or modification of the primary sediment
composition by dissolution/reduction of minerals
and precipitation of authigenic mineral phases.
Since most of the minerals affected are also
commonly used for paleoceanographic and paleo-
climatologic reconstructions it is crucial to consi-
der and assess the extent of diagenetic alteration
of the sedimentary record driven by sulfate
reduction.

8.4.1  Reactions with iron

Iron sulfides represent the most important
minerals that form in association with both
organoclastic and methanotrophic sulfate reduc-
tion, or - more precisely - as a result of the hydro-
gen sulfide produced by these processes. The
different pathways of pyrite formation via
intermediate iron sulfides will be described in more
detail in Section 8.4.2. The first step in all pyrite
forming sequences involves a reaction of
hydrogen sulfide with either dissolved Fe2+ or
solid-state iron (oxyhydr)oxides. The reactivity of
oxidized iron minerals towards sulfide varies

significantly as shown in Table 8.3. In their recent
study, Poulton et al. (2004) demonstrated that
minerals with a lower degree of crystal order react
within minutes to hours, while more ordered
minerals react on time scales of days to years (c.f.
Chapter 7). The largest discrepancy in reactivity
between the studies of Canfield et al. (1992) and
Raiswell et al. (1994) on the one hand and Poulton
et al. (2004) on the other hand exists for the
mineral magnetite (105 years versus 72 days;
Table 8.3). This difference was explained by the
surface area of magnetite, which was taken into
consideration in the study of Poulton et al. (2004).

Within or around the zone of anaerobic
oxidation of methane, other important mineral
precipitates comprise authigenic carbonates –
such as Mg-calcite, aragonite and dolomite –
which precipitate due to the high concentrations
of HCO3

- ions generated by AOM (c.f., Eq. 8.8;
e.g., Greinert et al. 2002; Moore et al. 2004), as well
as diagenetic barite (e.g., Brumsack 1986; Torres et
al. 1996). Due to the high rates of AOM, the
formation of carbonate precipitates is particularly
pronounced in sedimentary settings influenced by
venting and seepage of methane-rich fluids and/or
the presence of gas hydrates. The formation of
carbonates in such methane dominated environ-
ments, which are mostly driven by advective
transport processes, is discussed in Chapters 13
and 14. The factors and conditions determining
the dissolution and preservation of the different
carbonate phases are the subject of Chapter 9.

8.4.2 Pyrite Formation

Iron-sulfide minerals are important sinks for iron
and sulfur as well as for trace metals and play an
important role in the global cycles of these ele-
ments. Over the past 30 years extensive studies –

Table 8.3  Reactivity of iron (oxyhydr)oxides towards sulfide. Half-lives (t1/2) are given for reductive dissolution in
seawater at pH 7.5 and at a sulfide concentration of 1000 µM. adata from Poulton et al. (2004); bdata from Canfield
et al. (1992) and Raiswell et al. (1994). (Adopted from Nüster, 2005).

  M in e ra l t1 /2
a t1 / 2

b

F res h ly  prec ip ita ted  hy dous  fe rric  ox ide 5  m in .

2-line  fe rrihy drite 12 .3  hours 2 .8 hours

Lep idoc roc ite 10 .9  hours <  3  day s

G oeth ite 63  day s 11.5  day s

M agnet ite 72  day s 105 y ears

H em at ite 182  day s <  31 day s
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both in the field and in the laboratory – have been
performed to elucidate the mechanisms of pyrite
formation and in particular to understand the main
factors which control the formation of pyrite in
natural environments. Although these studies
have provided significant new insights, funda-
mental questions remain with respect to (a) the
different reaction rates obtained on the basis of
field studies and laboratory experiments, (b) the
role of FeS surface reactions and the electron
acceptor involved in the conversion to pyrite, and
(c) the role of sulfate-reducing bacteria – in par-
ticular their cell walls - in directing and promoting
the pyrite precipitation process. A comprehensive
review of pyrite formation in sedimentary environ-
ments by Rickard et al. (1995) was recently
updated by Schoonen (2004). Besides the detailed
description of the different pathways and mecha-
nisms of sedimentary pyrite formation, the review
by Schoonen (2004) also discusses the synthesis
of nanoscale pyrite, trace element incorporation,
and the formation of electronic defects during the
formation process.

All pyrite forming pathways identified so far
involve several reaction steps. First, hydrogen
sulfide, produced during sulfate reduction (Eq.
8.1, 8.2 and 8.8), reacts with dissolved iron or
reactive (towards sulfide) iron minerals to form
amorphous iron sulfides, such as mackinawite
(FeS). The precipitated amorphous iron sulfide is
highly unstable and rapidly transforms to metastable
iron sulfide phases such as pyrrhotite (Fex-1S) or
greigite (Fe3S4), both of which represent interme-
diates in the reaction pathways to pyrite (FeS2).
The conversion of amorphous FeS to pyrite
requires an electron acceptor and a change in the
molar Fe:S ratio from about 1:1 to 1:2. The electron
acceptor is needed to oxidize the S(-II) component
in FeS to the mean oxidation state of –I in FeS2.
Concurrently, the Fe:S ratio has to decrease either
via the addition of sulfur or the loss of iron. Three

general pathways have been reported to convert
FeS to pyrite:

(1) Addition of sulfur with the sulfur species
acting as electron acceptor (Berner 1970; Berner
1984; Luther 1991). This pathway has been termed
the “polysulfide pathway”.

FeS + S0 → FeS2 (8.13)

(2) Reaction with hydrogen sulfide, i.e.
addition of sulfur with a non-sulfur electron ac-
ceptor (Rickard and Luther 1997). This con-
version mechanism is known as the “H2S path-
way”.

FeS + H2S → FeS2 + H2 (8.14)

(3) Loss of iron, combined with an (additional)
electron acceptor (Wilkin and Barnes 1996), known
as the “iron-loss pathway”.

2FeS + 2H+ → FeS2 + Fe2+ + H2 (8.15)

As reviewed in detail by Schoonen (2004)
these different conversion mechanisms – and in
particular the H2S pathway – have received
controversial discussion. However, field studies
have shown that hydrogen sulfide can indeed
sulfidize amorphous FeS and form pyrite. Rickard
(1997) found that the H2S process is by far the
most rapid of the pyrite-forming reactions hitherto
identified and suggested that it represents the
dominant pyrite forming pathway in strictly anoxic
systems. In addition, Morse (2002) discussed that
the oxidation of FeS by hydrogen sulfide is the
faster process compared with the oxidation by
elemental sulfur. Berner (1970) suggested that, in
the presence of zero-valent sulfur, a complete
transformation of FeS to pyrite should be possible
on a time scale of years. An incomplete conver-
sion of FeS to pyrite, as often observed, e.g. in

Fig. 8.9  Schematic representation of the major pathways of the transformation of iron oxides to iron sulfides in
anoxic marine environments, in relation to the alteration of the magnetic record. From Riedinger (2005).
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the anoxic sediments of Kau Bay, Indonesia,
(Middelburg 1990) or the Amazon Fan (Kasten et
al. 1998), can be due to a shortage of zero-valent
sulfur during pyrite formation. Zero-valent sulfur
may form as a result of the incomplete oxidation of
H2S or FeS by oxidants such as O2, NO3

-, MnO2 or
FeOOH. A limited transformation of FeS to pyrite
can therefore be due to either (a) a limited amount
of sulfide available to be oxidized to zero-valent
sulfur or (b) a shortage in the amount of oxidants
supplied by diffusion, bioturbation or burial.

Direct precipitation of pyrite without intermedi-
ate iron sulfide precursors was reported for salt
marsh sediments, where pore waters were under-
saturated with respect to amorphous FeS but
oversaturated with respect to pyrite (Howarth
1979; Giblin and Howarth 1984). In these sedi-
ments, the oxidizing activity of the roots favored
the formation of elemental sulfur and polysulfides
which were thought to react directly with Fe2+.
The direct reaction pathway may proceed within
hours, resulting in the formation of single small,
euhedral pyrite crystals (Rickard 1975; Luther et
al. 1982). Framboidal pyrite, apart from that formed
by the mechanism presented by Rickard (1997), is
formed slowly (over years) via intermediate iron
sulfides (Sweeney and Kaplan 1973; Raiswell
1982).

Irrespective of the pyrite forming pathway the
conversion of FeS into pyrite via intermediate iron
sulfides goes along with a pronounced change in
the rock magnetic properties of the particular iron
sulfide phases (Fig. 8.9, Table 8.4). Amorphous
FeS is paramagnetic and therefore has a low
magnetic susceptibility and does not contribute to
the remanent magnetization of sediments. In

contrast, the metastable iron sulfides, pyrrhotite
and greigite, which represent precursor phases of
pyrite, are ferrimagnetic and thus have a signi-
ficant magnetic potential. This becomes obvious
from maxima in magnetic susceptibility located
slightly above enrichments of amorphous FeS in
the form of black bands in sediments of the
Amazon Fan (see Fig. 8.11 below; Kasten et al.
1998) and in the Black Sea (Neretin et al. 2004).
The presence of greigite and pyrrhotite – res-
ponsible for the peaks in magnetic susceptibility –
document the progress in the sequence of
conversion of FeS to pyrite. With a further pro-
gression in the conversion pathway and the
formation of the stable pyrite the magnetic signal
is lost again as pyrite is paramagnetic (Fig. 8.9,
Table 8.4).

It is generally assumed and found that there is
a gradual decrease in the amount of amorphous
iron sulfides and a corresponding increase in the
amount of pyrite – thus a drop in the AVS to pyrite
ratio – upon burial with increasing sediment
depth. The discussion and examples presented in
the following sections will, however, show that
this is not always the case. In particular in
sedimentary sequences affected by sulfidization
fronts the sequence of conversion of FeS into
pyrite can be reversed with depth and the most
immature and unstable Fe sulfides be found at
greater depth coinciding with the current depth of
the diffusional H2S/Fe2+ boundary. Furthermore,
iron sulfide formation often occurs at or along
fixed geochemical boundaries or reaction fronts.
Thus, the sequence of iron sulfide formation is
often restricted to or even bound to certain depth
horizons rather than occurring gradually with

Table 8.4  Authigenic iron sulfides formed in marine sediments. Modified from Schinzel (1993).

Mineral Composition Crystal class Magnetic
properties

mackinawite FeS tetragonal paramagnetic

pyrrhotite Fe1-xS hexagonal or ferrimagnetic,
orthorhombic antiferrimagnetic

pyrite FeS2 cubic paramagnetic

markasite FeS2 orthorhombic diamagnetic

greigite Fe3S4 cubic ferrimagnetic

8.4 Effects of Sulfate Reduction on Sedimentary Solid Phases
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increasing sediment depth. Mineral precipitation
at sulfidization fronts can also occur cyclically
within the sedimentary sequence – superimposed
by episodic changes in depositional or other
environmental conditions.

8.4.3  Magnetite and Barite

Besides the precipitation of mineral phases, disso-
lution of numerous minerals initially supplied to
the seafloor can occur in sediments that expe-
rience sulfate reduction and/or sulfate-depleted
conditions. Iron (oxyhydr)oxides and barite
(BaSO4) are two examples with particular relevance
for paleoceanographic research.

Magnetic iron (oxyhydr)oxides, especially
magnetite (Fe3O4), are the main carriers of
remanent magnetization in sediments. Magneto-
stratigraphy of deep sea sediment cores is a
valuable method of dating and comparing sedi-
mentary records. Dissolution of the magnetic
minerals under sulfate- and iron-reducing condi-

tions and/or subsequent precipitation of authi-
genic iron minerals may, however, alter the initial
remanent magnetization and seriously compromise
the interpretation of the sedimentary geomagnetic
record (e.g. Karlin and Levi 1983, 1985; Funk et al.
2003a, 2003b; Reitz et al. 2004). The effects of
AOM-driven sulfate reduction on the transfor-
mation of iron minerals and the associated modi-
fication of rock magnetic properties will be demon-
strated below using examples from the Amazon
Fan and the western Argentine Basin.

A second sedimentary component important
for paleoceanographic reconstructions, which is
prone to dissolution under conditions of sulfate
reduction – or more precisely in sulfate-depleted
sediments - is the barium sulfate mineral, barite
(BaSO4). Since a correlation has been detected
between barite deposition and the flux of organic
matter through the water column, the concen-
tration of barite in sediments has been proposed
and applied as a geochemical tracer to reconstruct
past changes in ocean productivity (e.g., Bishop

Fig. 8.10 Geochemical data for core GeoB 1023-4 recovered off north Angola (17°09.6’S, 10°59.9’E, 2047 m water
depth). Barium and sulfate pore-water concentration profiles as well as the distribution of solid-phase barium
indicate the precipitation of authigenic barite at a front slightly above the depth of complete sulfate consumption.
Below the sulfate/methane transition barite becomes undersaturated and is thus subject to dissolution due to the total
depletion of pore-water sulfate. Dissolved barium diffuses upwards into the sulfate zone where the mineral barite
becomes supersaturated and so-called authigenic or diagenetic barite precipitates at a front at the base of the sulfate
zone. Modified from Gingele et al. (1999), after Kölling (1991).



289

1988; Dehairs et al. 1991; Dymond et al. 1992;
Gingele and Dahmke 1994; Paytan et al. 1996a).
Sedimentary barite has also been used to recon-
struct the strontium isotope composition of sea-
water over time (e.g., Paytan et al. 1993; Mearon et
al. 2003), to determine the sulfur isotope ratio of
marine sulfate (Cecile et al. 1983; Goodfellow and
Jonasson 1984; Paytan et al. 1998), and to
characterize Holocene sedimentation rates by
using excess 226Ra decay (Paytan et al. 1996b; van
Beek and Reyss 2001; van Beek et al. 2002).

Although it is frequently stated that the
process of sulfate reduction promotes barite dis-
solution it is, in fact, the complete depletion of
interstitial sulfate which leads to an under-
saturation of the pore water with respect to barite
and to its subsequent dissolution (e.g., von
Breymann et al. 1992; Torres et al. 1996; Gingele et
al. 1999). This process is obvious from pore water
Ba2+ concentrations which typically increase to
micromolar concentrations with depth below the
SMT. Dissolution of barite below the SMT and
reprecipitation of diagenetic barite slightly above
the sulfate penetration depth in so-called
authigenic or diagenetic barite fronts can dras-
tically obscure the primary barite record and thus
lead to wrong paleoceanographic interpretations.
The effect of barite dissolution in the zone of total
sulfate depletion, and the subsequent reprecipi-
tation of diagenetic barite at higher sediment
levels is illustrated in Figure 8.10 for a sediment
core recovered from the continental margin off
Angola. The use of barite as a geochemical tracer
or archive for paleoceanographic reconstructions
is therefore limited – not to say precluded - in
sediment intervals that are either currently sulfate-
free or have been strongly sulfate depleted in the
past (e.g. von Breymann et al. 1992; Gingele and
Dahmke 1994; Torres et al. 1996; Gingele et al.
1999; Dickens 2001). While the current geoche-
mical zonation of a sediment column can be
determined from pore water sulfate data, a past
migration of the SMT – and particularly a down-
ward strike over time as a result of a transient
decrease in methane flux from below – has also to
be considered a possible cause that may alter the
solid-phase Ba contents.

In a novel approach, Dickens (2001) used
sedimentary Ba records to assess temporal
changes during the Late Pleistocene in the upward
flux of methane within sediments of the Blake
Ridge that are rich in sub-surface gas hydrates.
Due to a lack of Ba enrichment above the present

depth of the barite front the author concluded that
the upward methane flux from the underlying gas
hydrate reservoir has not varied significantly
across major changes in sea level and hydrostatic
pressure. A possible means to identify the origin/
source of barite enrichments is the analysis of the
stable sulfur isotopic composition, δ34S, of the
barite particles. As the sulfur isotopic composition
of sulfate in the water column, where the pro-
ductivity-related biogenic barite is assumed to be
formed, is significantly lighter (around +21 ‰;
Paytan et al. 2002) than that of pore water sulfate
at the SMT, where diagenetic barite precipitates
(around + 40 ‰; Torres et al. 1996), it is generally
assumed that the δ34S of barite should give insight
into its formation mechanism or origin (Paytan et
al. 2004).

8.4.4  Non-Steady State Diagenesis

A particularly pronounced alteration of the sedi-
mentary solid phase by mineral dissolution and
authigenic mineral precipitation can take place in
connection with sulfate reduction during non-
steady-state diagenesis, i.e. during phases of
deposition by which sedimentary conditions are
not constant over time and sediment geochemistry
adjusts to the new situation. Non-steady-state
diagenesis can be initiated by any changes in the
fluxes of electron donors and acceptors and
environmental conditions, for example by changes
in type of depositing sediment, oxygen content of
the bottom water, sedimentation rate, flux of
organic matter to the seafloor, and upward flux of
methane (e.g., Kasten et al. 2003). The non-
steady-state processes that occur during the
transition from one depositional situation to
another, or at the interface between two sediment
types, typically comprise the development of geo-
chemical reaction fronts. These fronts can either
be fixed at particular sediment horizons for a
prolonged period of time or move downwards or
upwards within the sediment column. During a
fixation or a slow migration of reaction fronts or
geochemical boundaries the diagenetic processes
acting at these fronts can produce higher concen-
trations of the authigenic minerals formed at
specific sediment levels than under steady-state
conditions. On the other hand, a fast upward
migration of a geochemical front may support the
burial and thus the preservation of substantial
amounts of metastable minerals (Riedinger et al.
2005, see below).

8.4 Effects of Sulfate Reduction on Sedimentary Solid Phases
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In the glacial sediments of the Amazon Fan,
which were deposited during the Pleistocene sea
level low-stand, Kasten et al. (1998) reported a
pronounced enrichment of iron sulfides located
several meters below the seafloor, near the
present-day SMT (Fig. 8.11). They concluded that
this iron sulfide enrichment formed during a
period of non-steady state diagenesis, when the
zone of anaerobic methane oxidation became fixed
at this particular sediment level for an extended
period. The condition that is likely to have initi-
ated the non-steady state diagenetic situation was
a pronounced decrease in sedimentation and orga-
nic carbon accumulation rate during the transition
from the Pleistocene to the Holocene. Similar
distinct enrichments of authigenic minerals due to
a fixation of the SMT during non-steady state

depositional conditions induced by decreases in
sedimentation rate or even pauses in sedimen-
tation have also been reported by Raiswell (1988),
Torres et al. (1996) and Bréhéret and Brumsack
(2000).

A second striking feature of the Amazon Fan
sediments (gravity core GeoB 1514-6) is the occur-
rence of a pronounced maximum in magnetic
susceptibility, located slightly above the zone of
strong enrichment of iron sulfide minerals (Fig.
8.11). As the total iron sulfides did not display a
local maximum at the depth of the susceptibility
peak, Kasten et al. (1998) suggested the presence
of a specific iron sulfide with a high magnetic
potential. X-ray diffraction analyses performed on
sediment samples from this depth revealed the
presence of the magnetic iron sulfide mineral,

Fig. 8.11  Solid phase profiles of total sulfur and Al-normalized concentration of Fe from total digestion (solid lines),
magnetic susceptibility (Funk, unpublished data), as well as pore-water concentration profiles of SO4

2- and Fe2+ (solid
circles) for core GeoB 1514-6 recovered from the Amazon deep-sea fan (3509 m water depth). The horizontal line
demonstrates that the iron peak, which represents mainly iron sulfides, does not directly coincide with the peak in
magnetic susceptibility. Modified from Kasten et al. (1998), after Schulz et al. (1994).



291

greigite (Fe3S4). These findings demonstrate that
non-steady-state diagenesis does not only lead to
a modification of the bulk sediment composition,
but can also generate distinct magnetic signals of
post-depositional origin within the sedimentary
record.

The continental margin off Argentina and
Uruguay is a highly dynamic sedimentary setting
characterized by gravity driven mass-flow
deposits and is therefore ideally suited to study
diagenetic processes under shifting depositional
conditions. As a typical feature of the deposits in
this area, distinct minima in magnetic susceptibi-
lity are found a few meters below the sediment
surface (c.f. Fig. 8.12 ). In order to reveal the
origin of these susceptibility “gaps”, Riedinger et
al. (2005) carried out extensive geochemical and
rock-magnetic investigations as well as numerical

transport-reaction modeling using the program
CoTReM (Chapter 16). Pore water data revealed
that the conspicuous minima in susceptibility
coincide with the current depth of the SMT (Fig.
8.12). The hydrogen sulfide generated by this
process reacts with the abundant iron (oxyhydr)-
oxides resulting in the precipitation of iron sulfi-
des accompanied by a nearly complete loss of the
magnetic signal. Below the sulfidic sediment
interval, where the magnetic susceptibility had not
significantly suffered from diagenetic overprint,
high amounts of iron oxides were present.
Numerical modeling of geochemical data suggests
that these high amounts of preserved Fe(III) as
well as the distinct and spatially restricted loss in
susceptibility can only be produced by extremely
high glacial sedimentation rates (≥100 cm/kyr) -
shielding the Fe(III) minerals from complete

Fig. 8.12 Left frame: Sulfate (red circles), methane (blue circles), and sulfide (stars) pore water profiles for core
GeoB 6229-6 (3446 m water depth) from the western Argentine Basin off the Rio de la Plata (sulfate data are from
Hensen et al. 2003). The magnetic susceptibility is shown in grey. Middle and right frame: Results of numerical
modeling of diagenetic alteration of magnetite to iron monosulfide with a major change of mean sedimentation rate
(SR) for a sediment porosity of 75%. (a) A mean sedimentation rate of 100 cm kyr-1 leads to reduction of only about
one third of the magnetite. (b) If the mean sedimentation rate is decreased to 5 cm kyr-1, a time interval of ~9000
years is needed to reduce the total amount of magnetite initially contained within an interval of 2 m thickness.
Modified from Riedinger et al. (2005).
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reduction - and a subsequent drastic drop during
the glacial/Holocene transition (Fig. 8.12). Similar
to the conditions on the Amazon Fan the strong
decrease in sedimentation rate encountered during
the last climatic transition induced a fixation of the
SMT and an enhanced overprint of rock magnetic
and mineralogical properties at this particular
sediment layer. To obtain the observed geochemi-
cal and magnetic patterns, the SMT must have
remained at a fixed position for about 9000 years –
a time span which closely corresponds to the time
since the Pleistocene/Holocene transition.

Sulfate reduction can also occur within dis-
crete, organic-rich layers which can lead to a
distinct overprint of the primary sediment compo-
sition within the organic-rich layers or in the
sediment above and below. The non-steady state
diagenetic processes occurring in and below the
organic-rich layers (sapropels) of the Eastern
Mediterranean have been studied by Passier et al.

(1996). They presented a model for the formation
of distinct iron sulfide enrichments below the
sapropels (Fig. 8.13) by the development of a
downward moving sulfidization front, similar to
Liesegang phenomena (formation of distinct iron
sulfide bands) described by Berner (1969). A
Liesegang situation exists in depositional systems
that are characterized by intermediate contents of
reactive (towards sulfide) iron, i.e. in systems that
are neither iron nor sulfide dominated. Passier et
al. (1996) concluded that excess hydrogen sulfide
generated by dissimilatory sulfate reduction
within the sapropel was able to migrate down-
wards (downward sulfidization). This resulted in
the formation of pyrite below the sapropel by the
reaction of hydrogen sulfide with solid-phase
ferric iron and Fe2+ diffusing upwards from
underlying sediments as schematically illustrated
in Figure 8.14.

Downward progressing sulfidization fronts
have also been reported to be initiated by
transitions from limnic to brackish/marine
conditions in the Baltic Sea (Böttcher and Lepland
2000; Neumann et al. 2005) and the Black Sea
(Jørgensen et al. 2004; Neretin et al. 2004). In
contrast to the example from the Eastern
Mediterranean presented above, the sulfide dri-
ving the downward sulfidization in these
sedimentary settings is derived primarily from
AOM and from the increase in sulfate concen-
tration in the water column during the Holocene.
At the sites on the western continental slope of
the Black Sea investigated by Jørgensen et al.

Fig. 8.13  Concentration versus depth profiles of organic
carbon (Corg), total sulfur (Stot) and Fe/Al ratio (mol/g Fe
divided by mol/g Al) through sapropel S7 in gravity core
GC17 from the eastern Mediterranean. The upper dark-
grey bar marks the stratigraphical position of the sapropel
visible in the core. The lower light-grey bar marks the
coincident peaks of Stot and Fe/Al below the sapropel which
represent a Fe-sulfide band formed by Liesegang phenome-
na. Modified from Passier et al. (1996).

Fig. 8.14  Model for formation of iron sulfide bands
below sapropels. The schematic depicted here represents
a Liesegang situation (Berner 1969). The front at which
downward diffusing hydrogen sulfide and upward
diffusing iron react to form iron sulfides is fixed at
particular levels below the sapropel for a prolonged
period of time. Modified from Passier et al. (1996).
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(2004) and Neretin et al. (2004) the sulfate-methane
transition is typically located around 2 m sediment
depth. Sulfide liberated into the pore water at this
depth is diffusing up into the anoxic water column
and is also drawn downward to a sulfidization
front where it reacts with iron (oxyhydr)oxides and
with Fe2+ diffusing up from the deeper iron-rich
limnic deposits (Fig. 8.15). The current depth
position of this HS-/Fe2+ diffusion front is marked
by a black band which mostly consists of
amorphous iron sulfides termed AVS (acid volatile
sulfide) in Fig. 8.15. These mineral phases are also
responsible for the distinct black coloration of the
sediment. Above (i.e., behind) this downward
progressing sulfidization front the amorphous iron
sulfides have been and are still converted into
pyrite as seen from a distinct horizon of greigite
and pyrite formation (c.f., CRS – chromium
reducible sulfur representing pyrite; Fig. 8.15).
Due to the unusual progression in the reaction
sequence towards pyrite, the degree of pyriti-
zation (see Section 8.4.2) in this case decreases
with increasing age of the deposits, i.e. the least
mature or stable iron sulfides are found at greatest
sediment depth.

The examples given above illustrate that sulfide
produced by dissimilatory sulfate reduction, in
particular in organic-rich layers or within the zone
of AOM, can produce a profound diagenetic alte-
ration of the sediment up to thousands or hun-

dreds of thousands of years after initial deposi-
tion and thereby cause a delayed chemical,
mineralogical, isotopic, and magnetic lock-in, i.e. a
formation of a relatively stable sedimentary signal
at a defined depth. As a consequence, the age of
the particular authigenic mineral does not
correspond to the age of the sediment layer, in
which it is formed, but is much younger. Counter-
intuitive as it may seem, in the case of downward
moving sulfidization fronts the age of the mineral
precipitate becomes younger with increasing
sediment depth. From these considerations it
becomes obvious that the post-depositional alte-
rations of mineral phases and element associa-
tions generated in this way complicate or even
prevent interpretations of the geochemical envi-
ronment during the time of original sediment
deposition.

8.5 Pathways of Sulfide Oxidation

Vast amounts of sulfide, corresponding to 7 mega-
ton of H2S daily, are generated in marine sediments
as the product of bacterial sulfate reduction. A
small fraction of this sulfide is trapped within the
sediment, mainly by reaction and precipitation
with iron to form pyrite, or by the sulfidization of
organic matter, and it thereby becomes buried in

Fig. 8.15  Sulfur geochemistry of a 4-m deep sediment core from the upper slope of the western Black Sea. Left
frame: SO4

2-, H2S, CH4 and Fe2+ (notice scales) in the pore water. The smooth curves are model fits to the data based
on the PROFILE model (Berg et al. 1998). Right frame: Chromium reducible sulfur (CRS) and acid volatile sulfide
(AVS), the latter showing the black band of iron sulfide at 250-300 cm depth due to the downward progressing
sulfidization front. From Jørgensen et al. (2004).

8.5 Pathways of Sulfide Oxidation
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the sea bed (Brüchert and Pratt 1996). In conti-
nental slope and deep sea sediments this provides
a net burial of reducing power over geological
time that contributes to maintain an oxidized
surface of the earth and thus, together with the
burial of organic carbon, to regulate the atmos-
pheric oxygen level (Berner 1982, 1989). Berner
and Raiswell (1983) found that organic carbon and
reduced sulfur were buried in the present ocean
bed at a mean ratio of ca. 2.8 (±1.5) on a weight
basis. This corresponds to a Corg:Sred burial ratio
of 7.4 on a molar basis. Since the complete
oxidation of organic carbon to CO2 represents a
change of 4 oxidation steps while the complete
oxidation of reduced sulfur (pyrite) to sulfate
represents 7 oxidation steps, the burial ratio is 4.3
in terms of reducing equivalents. The latter ratio
corresponds to the amount of oxygen that can
potentially accumulate in the atmosphere due to
the burial of organic carbon versus reduced sulfur.
Thus, the reduced sulfur is equivalent to ca. 20%
of the buried reducing equivalents in the sea bed.

In deltaic and shelf sediments, where most
sulfide production takes place, the intensive
sulfide burial during interglacial periods is
interrupted during glaciations that bind ocean
water in polar ice caps and thereby may lower the
sea water level by 100 m. The glacial sea water
low-stand causes erosion of accumulated shelf
sediments and partly reoxidation of the exposed
pyrite, thereby returning much of the accumulated
sulfide into the oceanic sulfate pool. Berner (1982)
estimated the current burial of pyrite in marine
sediments to be 39 Mt S yr-1 or 0.12 · 1013 mol S yr-1.
This is equivalent to the sulfide production over
5-6 days per year or to 1.6% of the total sulfate
reduction in the global ocean floor (cf. Fig. 8.4).
Thus, 98.4% of the produced sulfide is reoxidized
back to sea water sulfate on a geological time
scale (million years).

The short-term (years to thousand years)
burial of sulfide in the form of pyrite in ocean
margin sediments is more efficient and generally
accounts for 5-20% of the entire sulfide produc-
tion (Jørgensen et al. 1990; Lin and Morse 1991;
Canfield and Teske 1996). This burial provides a
sink in the dynamic cycling of sulfur that is limited
by the availability of reactive iron to bind the
large excess of sulfide. Raiswell and Canfield
(1998) found that, of the total iron in marine
sediments, on average only 25-28% is highly
reactive, 23-31% is poorly reactive, and 41-42% is
unreactive. In spite of the small fraction of net

pyrite burial, a much larger fraction of the sulfur
cycle, however, does go through pyrite and more
labile iron sulfides, in particular in the surficial
sediment. These metal-bound sulfides are recycled
within the sediment together with the free sulfide
so that 80-95% of the entire sulfide production is
gradually oxidized back to sulfate. The reoxidation
takes place at all depths of the sediment, most
rapidly in the upper oxidized zone but also in the
deeper and sulfidic part where the process is more
difficult to detect.

The oxidation of organic material by sulfate re-
duction yields only a fraction of the energy that is
available by aerobic respiration of the same orga-
nic compounds. Consequently, a large part of the
potential chemical energy is still conserved in the
product, H2S, from sulfate reduction and this
energy may become available to other micro-
organisms, provided a useful oxidant such as O2
or NO3

- is present. In coastal sediments where the
organic deposition, and therefore the sulfate
reduction, is particularly high, the reactive metal
oxides may become completely reduced by sulfide.
In this extreme case, H2S may diffuse freely up to
the sediment surface and reach the thin oxic skin
of the surface sediment. A H2S-O2 interface
thereby develops within the uppermost few mm of
the sediment where the gradient-type of colorless
sulfur bacteria may flourish on the chemical
energy from H2S. Such hotspots of sulfide oxida-
tion may be recognizable from the dark coloration
of the sediment surface due to black iron sulfide
(“black spots”; Rusch et al. 1998). The sediments
may also develop a distinct coating of filamentous
sulfur bacteria, such as Beggiatoa, that store light
refracting sulfur globules in their cells and thus
provide the sediment with a distinct whitish
appearence. Such white Beggiatoa mats are typi-
cal of the sediments around hydrothermal vents
and cold seeps that bring H2S from the subsurface
in direct contact with oxygenated sea water
(Jannasch et al. 1989). In extreme cases where the
water column overlying the sediment is anoxic,
e.g. in the permanently stratified Black Sea or
during summer in some eutrophic coastal
environments, sulfide is not retained at the sedi-
ment surface but penetrates directly up into the
sea water (e.g., Roden and Tuttle 1992).

In oxic marine sediments, a brown layer rich in
iron and manganese oxides generally separates O2
and H2S and thereby prevents a direct sulfide
oxidation by oxygen (e.g. Thamdrup et al. 1994a).
In this suboxic zone, neither O2 nor H2S is present
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in detectable concentrations. The metal oxides
constitute an efficient sulfide barrier by oxidizing
and binding H2S that diffuses up from the sulfidic
sediment below. In this case, H2S oxidation by
oxygen is the exception and requires that the
metal oxide layer is penetrated by advective
transport, for example by bioirrigation by bur-
rowing animals that pump oxic water for respi-
ration directly down into the sulfidic sediment.
Another advective mechanism may be current-
induced advective pore water transport in porous
sandy sediments (Huettel et al. 1998), or oxygen
transport down into the root zone of sea grass
beds (Ballbjerg et al. 1998). Through such oxygen
penetration also pyrite may be oxidized with
oxygen, a process that has been extensively
studied (e.g. Lowson 1982; Luther 1987; Moses
and Herman 1991; Morse 1991). Pyrite oxidation
with O2 is a rather fast process that may be purely
abiotic, catalyzed by an electron shuttle between
adsorbed Fe(II) and Fe(III) ions transferring
electrons from pyrite to O2. Sulfate is the end
product of the sulfur oxidation and iron oxides
often coat the surface of the oxidized pyrite
grains.

Most sulfide oxidation in marine sediments is
anoxic (i.e. takes place in the absence of oxygen)

and generally involves the precipitation of iron
sulfide and the subsequent oxidation of iron-
sulfur minerals back to sulfate. Evidence for
anoxic sulfide oxidation comes from studies of
pore water chemistry, solid phase distributions of
metal oxides and sulfides, mass balance calcula-
tions, and direct experiments. By the use of radio-
labeled H2S added to anoxic sediment cores or
slurries, a rapid transfer of the label could be
observed into sulfur fractions defined as acid
volatile sulfide (mostly FeS), chromium reducible
sulfide (mostly FeS2), elemental sulfur (S0), or
sulfate (Fossing and Jørgensen 1990). The
radiolabeled FeS and S0 were readily oxidized to
sulfate in the anoxic sediment. Pyrite, in contrast,
is more stable and is oxidized only over longer
incubations. Yet, pyrite comprises the main sulfur
pool in marine sediments and undergoes slow
transport and oxidation of critical importance for
the sulfur cycle.

These processes are illustrated in Fig. 8.16.
Sulfate that penetrates down into the sediment
from the overlying sea water is reduced to H2S by
sulfate reducing bacteria that use the deposited
organic material as their energy source. Also
methane diffusing up from below feeds sulfate
reduction in the lower sulfate zone. At depth in

Fig. 8.16  The sulfur cycle in marine sediments. The cycle is energetically driven by deposited organic material and
methane, both of which are used by sulfate reducing bacteria to produce H2S. Much of the H2S reacts chemically with
iron (oxyhydr)oxides to form FeS and a range of intermediate oxidation states including S0 and FeS2. The further
oxidation of these species back to sulfate is mediated by the vertical conveyer belt of bioturbation caused by
burrowing macrofauna. Reoxidation of the solid phase sulfur species to sulfate at the sediment surface may be by
oxygen, nitrate or manganese oxide. The same conveyer belt brings the oxidized iron back down towards the sulfide
production zone where it reacts with further H2S. A highly efficient recycling of sulfur is thereby achieved. (From
Jørgensen and Nelson 2004).

8.5 Pathways of Sulfide Oxidation
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marine sediments, the production of H2S may
exceed the availability of reactive metal oxides and
H2S accumulates in the pore water (see Fig. 8.6,
8.12, 8.13, and 8.17). The H2S diffuses upwards
along a concentration gradient that generally
reaches zero at the bottom of the suboxic zone.
Concurrently, the H2S reacts with buried iron
oxides to form FeS, FeS2, S

0 and a number of other
solid or dissolved intermediate products. Once the
reduced sulfur is bound in the solid phase, e.g. as
pyrite, its further oxidation depends on a slow
reaction with further Fe(III) species or its trans-
port up to near-surface layers with oxidants of
higher redox potential.

Pyrite transport in near-surface sediments
generally takes place through the conveyer belt of
bioturbation whereby burrowing macrofauna mix
the sediment or directly move sediment particles
as part of their deposit feeding behavior (Fig.
8.16). As the pyrite reaches up into the suboxic

zone it may react with oxidants such as oxygen or
manganese oxide and be converted into sulfate
and iron oxides (or iron (oxyhydr)oxides). The iron
oxides are in turn transported downwards through
the same conveyer belt and thereby become
available for further binding of sulfide and pyrite
formation. The pyrite oxidation by manganese
oxide has been implied from chemical profiles
(Canfield et al. 1993) and demonstrated directly
through experiments (Schippers and Jørgensen
2001, 2002). The process is interesting in that it
involves the reaction between two mineral phases
in the sediment that must be in close proximity for
the oxidation to proceed. The initial reaction is
purely chemical and was proposed to occur by a
Fe(II)/Fe(III)-shuttle in the pore fluid between the
mineral surfaces of FeS2 and MnO2. The immediate
products of the oxidation are thiosulfate and
polythionates. These can be further oxidized to
sulfate by manganese reducing bacteria, thus

Fig. 8.17  Biogeochemical profiles of sulfur, manganese and iron species in a coastal marine sediment (Aarhus Bay,
Denmark, 16 m water depth). A) Oxygen and nitrate profiles measured with O2 and NO3

- microsensors. B) Pore water
profiles of dissolved manganese, iron and H2S. C) Profiles of solid phase oxidized manganese and iron and of pyrite. D)
Distribution of sulfate reduction rates (SRR) measured by 35S-technique. The broken line at 4 cm depth indicates the
transition between the suboxic zone and the sulfidic zone. Data in A) were measured at the same site but a different year
than data in B)-D). (Data from Kjær 2000 and Thamdrup et al. 1994a; reproduced from Jørgensen and Nelson 2004).
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making the complete pyrite oxidation to sulfate
dependent on microbial catalysis (Schippers and
Jørgensen 2001):

FeS2 + 7.5 MnO2 + 11 H+ →
   Fe(OH)3 + 2 SO4

2- + 7.5 Mn2+ + 4 H2O    (8.16)

Pyrite oxidation by nitrate could not be demon-
strated through short-term sediment experiments
but FeS is readily oxidized, both by nitrate and
MnO2 (Aller and Rude 1988; Schippers 2004). The
immediate product by FeS oxidation is not thiosul-
fate but polysulfide which subsequently degrades
into elemental sulfur:

FeS + 1.5 MnO2 + 3 H+ →
                  Fe(OH)3 + S0 + 1.5 Mn2+ (8.17)

The processes of sulfide oxidation described
here are reflected in the chemical zonations of
pore water chemistry, solid phase chemistry and
bacterial activity. As an example, Fig. 8.17
shows data from organic-rich coastal sediment
at the Baltic Sea - North Sea transition. Oxygen
penetrated less than 0.4 cm into the sediment and
showed no contact with the zone of detectable
H2S which started only from ca. 4 cm depth.
Nitrate penetrated only slightly deeper than
oxygen, with a peak at 0.2 cm depth due to aerobic
oxidation of ammonium (nitrification) diffusing up
from the sediment below. The upper 0.4-4 cm of
the sediment comprised the suboxic zone where
maxima in dissolved reduced manganese and iron
showed the zones where the reduction of these
metals was most intensive (peaks at 1- 2 cm depth
for manganese and 3-4 cm depth for iron). The
concentration of solid phase manganese oxide
dropped steeply with depth from the sediment
surface to 1 cm depth where its reduction was
most intensive. Oxidized iron decreased more
gradually as it was most intensively reduced in
the lower part of the suboxic zone. Measurements
of sulfate reduction showed that H2S was
produced throughout the sediment with maximum
rates at the top of the sulfidic zone. Sulfate
reduction also took place in the suboxic zone but
the produced H2S was here rapidly reoxidized and
did not reach detectable concentrations. Only by
the short-term experimental measurements using
35SO4

2- could the SRR activity therefore be
demonstrated. Due to this sulfate reduction, a part
of the manganese and iron reduction was driven
by sulfide oxidation while another part was due to

the direct oxidation of organic matter by hetero-
trophic, metal-reducing bacteria (Thamdrup et al.
1994a).

The intermediate sulfur species in sulfide
oxidation, such as thiosulfate and elemental sulfur,
are not stable in the sediment but are further
transformed by microorganisms. Thiosulfate is
turned over within hours or days and generally
occurs only in sub-micromolar concentration in
the sediment pore water (Thamdrup et al. 1994b).
Elemental sulfur accumulates to much higher
concentration in the solid phase but may also turn
over on a seasonal or longer time scale in near-
surface sediments (Troelsen and Jørgensen 1982).
The preferred pathway of bacterial thiosulfate or
sulfur transformation depends strongly on the
chemical environment in the sediment. In the near-
surface sediment with suitable oxidants such as
oxygen, nitrate or metal oxides, these sulfur
species may be used as energy sources by
chemoautotrophic bacteria and be oxidized
completely to sulfate (Fig. 8.17, see also Chapter 5).
When formed below the suboxic zone, they may
be used as oxidants (electron acceptors) in bacte-
rial respiration to oxidize organic material.
Through such a bacterial thiosulfate or sulfur
respiration these intermediates are reduced back
to sulfide. When the availability of oxidants and
organic material are both limited, the two sulfur
species may be disproportionated.

The ability of certain anaerobic bacteria to
disproportionate intermediate sulfur species such
as thiosulfate was discovered only in the late
1980’ies (Bak and Pfennig 1987; Krämer and
Cypionka 1989; Finster et al. 1998) but has since
been shown to play an important role in the sulfur
cycle of aquatic sediments (Jørgensen 1990;
Jørgensen and Bak 1991; Thamdrup et al. 1993). It
is characteristic for the disproportionation that
the sulfur species are concurrently reduced to
sulfide and oxidized to sulfate. This is an energy
yielding reaction under appropriate sediment
conditions and is independent of external
reductants or oxidants. The process can be
considered a type of inorganic fermentation and it
provides sufficient energy for bacteria to live on.
By thiosulfate disproportionation, the inner
(sulfonate) sulfur atom changes oxidation step
from +5 in S2O3

2- to +6 in SO4
2-, while the outer

(sulfane) atom changes from -1 in S2O3
2- to -2 in

H2S (Vairavamurthy at al. 1993; Eq. 8.18). By
elemental sulfur with an oxidation state of 0, some
of the atoms are reduced to H2S and some oxidized

8.5 Pathways of Sulfide Oxidation
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to SO4
2- in a proportion of 3:1 that maintains

electron balance (Eq. 8.19):

S2O3
2- + H2O → H2S + SO4

2- (8.18)

4 S0 + 4 H2O → 3 H2S + SO4
2- + 2 H+ (8.19)

Disproportionation reactions do not cause a
net oxidation of the sulfur species, yet they have a
key function in sulfide oxidation. Dispropor-
tionation provides a shunt in the sulfur cycle
whereby the H2S formed by this reaction may be
oxidized again to the same sulfur intermediate by
metal oxides. Manganese oxide, for example,
rapidly oxidizes H2S to S0 without participation of
bacteria, but does not oxidize the S0 further to
sulfate (Burdige 1993). The elemental sulfur may,
however, be disproportionated (Eq. 8.19) whereby
a fourth of it is oxidized completely to sulfate
while the remaining three fourths return to the
sulfide pool. Through repeated partial oxidation of
sulfide to elemental sulfur with manganese oxide
and subsequent disproportionation of the elemen-
tal sulfur to sulfate and sulfide a complete oxida-
tion of sulfide to sulfate by manganese oxide may
be achieved (Fig. 8.16; Thamdrup et al. 1993;
Böttcher and Thamdrup 2001):

4 H2S + 4 MnO2 → 4 S0 + 4 Mn2+ + 8 OH-

(8.20)

Sum of Eq. 8.20 and 8.19:
H2S + 4 MnO2 + 2 H2O →

                    SO4
2- + 4 Mn2+ + 6 OH-        (8.21)

An interesting biological mechanism of sulfide
oxidation in coastal upwelling regions and other
high-productivity coastal ecosystems was disco-
vered in the mid 1990’ies (Fossing et al. 1995). The
sediment underlying some of the most intensive
upwelling systems, e.g. off the Pacific coast of
South and Central America or the Atlantic coast of
southwest Africa, is densely populated with sulfur
bacteria (species of Thioploca, Thiomargarita,
and Beggiatoa) that have a peculiar mode of life
and an unusually large cell size (Schulz et al.
1999). Within a liquid vacuole inside each cell they
accumulate nitrate from the ambient sea water and
later use this nitrate down in the sediment as an
electron acceptor for sulfide oxidation from which
they gain energy. The sulfide is oxidized first to
elemental sulfur, which is stored transiently in the
cells, and then to sulfate. This adaptation is

unique in that it enables the motile types of the
bacteria to commute up and down between the
nitrate source in the sea water and the sulfide
source in the sediment without having access to
both at the same time (Jørgensen and Gallardo
1999; Schulz and Jørgensen 2001; see Chapter 6).

8.6 Determination of Process Rates

The rates of biogeochemical processes such as
sulfate reduction in marine sediments can be
determined by different approaches that all have
strengths and weaknesses and may demonstrate
fundamentally different aspects of the process. It
is important for each application to consider
carefully the properties of the sediment to be
analyzed and the limitations of the method
applied. The study of shallow and highly dynamic
surface sediments requires a different approach
than the study of deep sediments that have
undergone stable diagenesis over a long time
period. By the shallow sediment an experimental
measurement of the process rate may be optimal
whereas deep in the sediments generally a
modeling approach is preferred. Dependent on the
method, however, either the gross or the net rate
of sulfate reduction is measured. The extent to
which these differ has been determined only in a
few cases.

Gross sulfate reduction rates (gross SRR) can
be measured by experimental incubation of
recovered sediment samples on board ship or in
the laboratory. Today, this is mostly done by the
use of radioactively labeled sulfate, 35SO4

2-, as a
tracer in order to obtain sufficiently high sensiti-
vity of the method (see Chapter 5). Originally
developed by Sorokin (1962), Ivanov (1968),
Jørgensen (1978), this method has been modified
and refined over the years (e.g., Howarth 1979;
Canfield et al. 1986; Fossing and Jørgensen 1989;
Kallmeyer et al. 2004). By adaptation of the
radiotracer method it has been possible to directly
measure sulfate reduction rates that vary over
more than 7 orders of magnitude, for example on
the Peruvian shelf, from >1000 nmol SO4

2- cm-3 day-1

at the sediment surface to <0.001 nmol SO4
2- cm-3

day-1 at 100 m subsurface (Parkes et al. 2005; J.
Kallmeyer et al. in prep.).

The gross SRR as measured by 35SO4
2-

technique comes closest to the overall sulfate
reduction that takes place in the sediment. The
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radiotracer experiment generally lasts for only a
few hours to a day and little reoxidation of
produced 35S-sulfide takes place during this time
interval, unless the sediment is rich in reactive
oxidized iron which may be the case in the suboxic
zone near the sediment surface. The measurement
should be kept short in order to minimize changes
in the chemistry or microbial activity of the
sediment under the laboratory conditions used.
This is an important criterion for the use of
radiotracer instead of just following the gradual
disappearence of pore water sulfate over time as
has been used earlier and is still applied when
safety considerations prohibit the use of radio-
tracer. Tracking the sulfate concentration over
time is, however, a rather insensitive method that
mostly requires incubations over many days or
weeks during which significant changes in mea-
sured rates occur.

Another approach is based on the experiment
that nature has already done, namely by genera-
ting decreasing sulfate concentrations down
through the sediment column due to sulfate
reduction acting over many years. The resulting
pore water profile of sulfate reflects the rate of net
SRR, which represents the gross SRR minus the
(long-term) rate of reoxidation of reduced sulfur
species back to sulfate. Such profiles, combined
with solid-phase data on the sulfur chemistry and
organic carbon content, have been used to
calculate the distribution of sulfate reduction over

longer periods by 1-dimensional reaction-
transport modeling (e.g., Berner 1980; Canfield
1991; Schulz et al. 1994). Modeling of the net SRR
generally assumes steady state conditions of
reduction rate, transport and sedimentation and
requires qualified information on the transport
coefficients of pore water species down through
the sediment column. Since disturbing factors
such as burrow irrigation by the benthic macro-
fauna or current-induced advective pore water
flow may strongly enhance transport in addition
to molecular diffusion, it is mostly difficult to
provide accurate transport coefficients in the
near-surface sediment. At depth in the sediment,
however, molecular diffusion and steady state are
more likely to prevail. Here the modeling approach
has its obvious strength relative to the radiotracer
measurements that are increasingly prone to
disturbance artifacts the deeper in the sediment
the samples are taken.

In the following, we will use data of Jørgensen
et al. (2004) from the Black Sea as an example to
illustrate the differences between the two
approaches. Fig. 8.18 shows results from the deep
sulfidic part of the Black Sea where macrofauna
are unable to live and where bioirrigation is there-
fore absent (although current-induced advective
pore water transport may take place near the sedi-
ment surface). Sulfate reduction rates were mea-
sured experimentally by the radiotracer method
down to 20 cm depth in the sediment (Fig. 8.18 A).

Fig. 8.18  Determination of sulfate reduction rates in sediment cored by multicorer (A and B) and by gravity corer
(C) from 1176 m water depth in the sulfidic part of the western Black Sea. A) Sulfate reduction rates (SRR) measured
experimentally using 35SO4

2-, either directly in situ on the sea floor using a benthic lander or shipboard in the
laboratory. B) Mean experimental sulfate reduction rates (data points) and a model curve fitted to these rates. C)
Sulfate concentrations measured in the pore water (data points) and modeled sulfate profile (smooth curve) that
matches the fitted SRR in the uppermost 20 cm. After Jørgensen et al. (2001).

8.6 Determination of Process Rates
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A multi-G model of Westrich and Berner (1984)
was applied to fit a smooth curve to these rate
data. The model assumes that the sediment
organic matter that feeds sulfate reduction con-
sists of three pools, each of which is degraded
exponentially over depth and time, but each
having its own pool size and exponential decay
constant. Fig. 8.18 B and C show that this model
fits well with both the measured sulfate reduction
rates in the upper sediment layer and the sulfate
curve in the deeper sediment down to 330 cm
depth.

A point to observe in Fig. 8.18 C is that the
measured and modeled profiles of pore water
sulfate in the uppermost 0-20 cm hardly show any
curvature and, thus, indicate zero sulfate reduc-
tion in this layer. The radiotracer measurements in
Fig. 8.18 B, however, show that 66% of the sulfate
reduction in the entire sulfate zone takes place in
the top 15 cm where, in the deep sulfidic part of
the Black Sea, sulfate reduction is the predo-
minant pathway of organic carbon mineralization
(Jørgensen et al. 2001). One possible reason for
this discrepancy is that modeling has low
sensitivity over narrow depth intervals because
diffusion is fast over short distances and thereby
reduces changes in concentration in spite of high
reaction rates. In contrast, over the entire sulfate
zone even a deep zone of relatively low sulfate
reduction rates may affect the entire sulfate
profile. This is why enhanced reduction rates in
the sulfate-methane transition tend to shape the
entire sulfate distribution in the sediment as seen
in Fig. 8.18 C. Thus, experimental measurements
are required to determine the sulfate reduction in
the near-surface sediment. Such a discrepancy
between measured and modeled rates is charac-
teristic also of other sediments and is important to
consider in relation to the global SRR estimates
made in Fig. 8.3 and 8.4. Data from ocean margin
sediments were there mostly determined by the
radiotracer method (gross SRR) whereas those
from the deep sea were modeled (net SRR).

8.7 The Sulfur Cycle

The sea bed functions as a giant anaerobic reactor
where element cycles are coupled in a way that
differs fundamentally from the cycles in the oxic
ocean. The microbiological and geochemical pro-
cesses of sulfur transformation thereby play key

functions that control the mineralization of
deposited organic matter and thereby the chemis-
try of the ocean. In the following we briefly sum-
marize some main aspects of the sulfur cycle in
marine sediments and discuss its role for the
dynamics of sulfate in the ocean.

Rather than being a simple cycle, composed of
anaerobic bacterial reduction of sulfate to hydro-
gen sulfide and aerobic reoxidation of H2S to SO4

2-,
the transformations of sulfur in aquatic sediments
include a combination of intermediate cycles or
shunts and interactions with other element cycles
(e.g., Jørgensen 1990; Luther and Church 1991;
Thamdrup et al. 1993; van Cappellen and Wang
1996) schematically illustrated in Figure 8.16.
Within this complex cycle, sulfur compounds
occur in oxidation states ranging from -2 (H2S) to
+6 (SO4

2-)
By bacterial sulfate reduction H2S is produced

as the extracellular end-product (Widdel and
Hansen 1991). During the oxidation of H2S, oxic or
anoxic, chemical or biological, compounds such as
zero-valent sulfur (in elemental sulfur, poly-
sulfides, or polythionates), thiosulfate (S2O3

2-), and
sulfite (SO3

2-) are produced (Cline and Richards
1969; Pyzik and Sommer 1981; Kelly 1988; Dos
Santos Afonso and Stumm 1992). These inter-
mediates may then be further transformed by one
or several of the following processes:

• Respiratory bacterial reduction to H2S,
• bacterial or chemical oxidation,
• chemical precipitation (e.g. FeS formation), or
• bacterial disproportionation to H2S and SO4

2-.

By bacterial disproportionation H2S and SO4
2-

are produced concurrently without participation
of an external electron acceptor or donor (Bak and
Pfennig 1987; Thamdrup et al. 1993). The biogeo-
chemical transformations of sulfur in marine sedi-
ments are closely coupled to the cycles of iron
and manganese. Sulfate, iron oxides, and manga-
nese oxides all serve as electron acceptors in the
respiratory degradation of organic matter. As there
are also non-enzymatic reactions between iron,
manganese and H2S within the sediment, the
quantification of dissimilatory, heterotrophic Fe
and Mn reduction is particularly difficult.

The precipitation of (authigenic) iron sulfides
resulting from the reaction between H2S and Fe
phases exerts an important control on the distri-
bution of H2S in marine pore waters (Goldhaber
and Kaplan 1974; Canfield 1989; Canfield et al.
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1992). Depending on the abundance and reactivity
of the Fe(III) minerals present as well as on the
rate of sulfate reduction, H2S may be undetectable
despite its production at high rates. As the H2S
accumulates in the pore water, it diffuses up
towards the sediment surface where most of it is
ultimately oxidized back to sulfate. Only a small
fraction, 5-20%, of the produced H2S is trapped as
solid phase iron-sulfur minerals or organic sulfur
within the sediment. Over longer periods of thou-
sands to millions of years, most of this trapped
sulfur becomes exposed to oxidants and again
returns to the great sulfate reservoir of the ocean.

Over geological time, ocean sulfate is thus
continuously recycled through sulfate reduction
in the sea bed. During this recycling, the sulfur
atom in sulfate undergoes a major redox transfor-
mation of 8 oxidation steps between sulfate (+6)
and sulfide (-2) and is thereby an effective oxidant
for the mineralization of marine organic matter.
Importantly, the sulfur atom in sulfate is separated
from the oxygen atoms during the reduction
process (SO4

2- → H2S), and is subsequently
combined with new oxygen atoms from sediment
pore water upon reoxidation of the sulfide. How
fast is this recombination of the elements and how
long is the residence time of sulfate in sea water?
We have calculated above that the magnitude of
sulfate reduction in the global sea bed is 7.5 · 1013

mol SO4
2- yr-1. The mean sulfate concentration of

sea water is 29 mM and the total volume of ocean
water is 1.37 billion km3 (Garrison 1997). Thus, the
ocean contains 1.37 · 1021 liter of sea water with a
total pool of 4.0 · 1019 mol SO4

2-. The turnover time
of this global ocean sulfate pool through bacterial
sulfate reduction is (4.0 · 1019)/(7.5 · 1013) = ca. 0.5
million years.

Sulfate is reduced in the sea bed not only
through bacterial catalysis but also through ther-
mochemical catalysis at high temperature.  At mid-
oceanic ridges sea water is slowly convected
through the hot magmatic crust where a part of it
is heated to >350°C (see Chapter 13). At such high
temperatures sulfate reacts as an oxidant for
ferrous iron and other reduced minerals and the
sulfate is reduced to H2S without the participation
of microorganisms which are excluded by
temperatures above ca. 100°C (Weber and
Jørgensen 2002). The global sea water flux that
undergoes heating to >350°C has been estimated
to be 3-6 · 1013 liter yr-1 (Elderfield and Schultz
1996). By a complete reduction of the 29 mM of
sea water sulfate, this corresponds to the

reduction of 0.08-0.16 · 1013 mol SO4
2- yr-1 or 1-2%

of the global microbiological sulfate reduction.
The turnover time of the entire volume of ocean
water at >350°C, and thus of the oceanic sulfate
pool through thermochemical reduction, in hot
mid-oceanic crust is thus 20-40 million years (cf.
Elderfield and Schultz 1996).

The hydrothermal systems associated with the
mid-oceanic ridges harbor some of the richest
biological communities on the ocean floor and
include giant clams, mussels, tube worms and
shrimps. These animals are nourished by symbi-
otic bacteria that oxidize sulfide and methane from
the vent water and use the energy for chemo-
autotrophic biomass production that in turn feeds
the hosts. It is an interesting perspective that
their energy source is independent of light and
photosynthesis but is instead of geothermal
origin and based on chemical reactions at high
temperature. (It should be remembered, however,
that the oxygen used for the oxidation of sulfide
and methane is derived from photosynthesis in
the surface ocean, so the chemosynthetic pro-
cesses would still not run without sunlight.)
Although the hydrothermal vent communities are
rich oases of life on the sea floor, their total
contribution to the oceanic carbon cycle is
marginal. Bach and Edwards (2003) estimated that
the global chemosynthetic biomass production
from oxidation of new ocean crust may be up to
1012 g C yr-1. The total potential for chemosyn-
thetic primary production at the deep sea hydro-
thermal vents is globally estimated to be about
1013 g biomass per year (McCollom and Shock
1997). This represents only about 0.02% of the
global primary production by photosynthesis in
the oceans. As the chemosynthetic production
takes place in the otherwise nutrient-poor deep
sea, however, it makes a much more important
contribution to the local carbon supply to the
deep sea floor. Based on the oxygen uptake data
presented in Fig. 8.4, the global organic carbon
mineralization by oxygen in the deep sea bed at
>3000 m water depth is only 5 · 1013 mol yr-1,
relative to which the chemoautotrophic produc-
tion at mid-oceanic ridges corresponds to 20%.

8.7 The Sulfur Cycle
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8.8 Problems

Problem 1

Organic matter is oxidized in the suboxic zone
through iron or manganese reduction. This may be
a direct oxidation by metal reducing bacteria or an
indirect oxidation via sulfate reduction and sulfide
oxidation. Does it matter for the end products
which pathway dominates?

Problem 2

H2S can be oxidized completely to sulfate by
manganese oxide in marine sediments although
the chemical reaction oxidizes H2S only to
elemental sulfur, S0. How is the oxidation to
sulfate then possible?

Problem 3

Which factors determine how large a fraction of
the deposited organic material in the sea bed is
mineralized through sulfate reduction relative to
other mineralization pathways?

Problem 4

Only about 5% of the total mineralized organic
carbon in marine sediments is ultimately degraded
to methane. Why, then, does the anaerobic
oxidation of methane with sulfate often generate
quasi-linear sulfate profiles that indicate methane
to be the dominant energy source for sulfate
reduction?

Problem 5

Which factors may cause a lock-in of a diagenetic
front in the sea bed and thereby lead to the
diagenetic overprinting of paleoceanographic
signals in a specific sediment horizon?

References

Aller, R.C., and Rude, P.D., 1988. Complete oxidation
of solid phase sulfides by manganese and bacteria in
anoxic marine sediments. Geochimica et
Cosmochimica Acta, 52: 751-765.

Amend, J.P., Edwards, K.J., and Lyons, T.W. (eds),
2004. Sulfur Biogeochemistry - Past and Present.
Geological Society of America Special Paper 379,
Boulder, Colorado, 205 p.

Alperin, M.J., and Reeburgh, W.S., 1988. Carbon and
hydrogen isotope fractionation resulting from anae-
robic methane oxidation. Global Biogeoche-mical
Cycles, 2: 279-288.

Bach W., and Edwards, K.J., 2003. Iron and sulfide
oxidation within the basaltic ocean crust: Implica-
tions for chemolithoautotrophic microbial biomass
production. Geochimica et Cosmochimica Acta, 67:
3871-3887.

Bak, F., and Pfennig, N., 1987. Chemolithotrophic
growth of Desulfovibrio sulfodismutans sp. nov. by
disproportionation of inorganic sulfur compounds.
Archives of Microbiology, 147: 184-189.

Ballbjerg, V., Mouritsen, K.N., and Finster, K., 1998.
Diel cycles of sulfate reduction rates in sediments of
a Zostera marina bed (Denmark). Aquatic Microbial
Ecology, 15: 97-102.

Barnes, R.O., and Goldberg, E.D., 1976. Methane
production and consumption in anoxic marine
sediments. Geology, 4: 297-300.

Berg, P., Rysgaard-Petersen, N. and Rysgaard, S., 1998.
Interpretation of measured concentration profiles in
the sediment porewater. Limnology Oceanography,
43: 1500-1510.

Berner, R.A., 1969. Migration of iron and sulfur within
anaerobic sediments during early diagenesis.
American Journal of Science, 267: 19-42.

Berner, R.A., 1970. Sedimentary pyrite formation. Ame-
rican Journal of Science, 268: 1-23.

Berner, R.A., 1980. Early diagenesis: A theoretical
approach. Princeton University Press, Princeton,
New Jersey.

Berner, R.A., 1981. A new geochemical classification of
sedimentary environments. Journal of Sedimentary
Petrology, 51: 359-365.

Berner, R.A., 1982. Burial of organic carbon and pyrite
sulfur in the modern ocean: Its geochemical and
environmental significance. American Journal of
Science, 282: 451-473.

Berner, R.A., 1984. Sedimentary pyrite formation: An
update. Geochimica et Cosmochimica Acta, 48: 605-
615.

Berner, R.A., 1989. Biogeochemical cycles of carbon
and sulfur and their effect on atmospheric oxygen
over phanerozoic time. Global and Planetary Change
75: 97-122.

Bishop, J.K.B., 1988. The barite-opal-organic carbon
association in oceanic particulate matter. Nature,
332: 341-343.

Boetius, A., and Suess, E., 2004. Hydrate Ridge: a
natural laboratory for the study of microbial life
fueled by methane from near-surface gas hydrates.
Chemical Geology, 205: 291-310.

Boetius, A., Ravenschlag, K., Schubert, C., Rickert, D.,
Widdel, F., Gieseke, A., Amann, R., Jørgensen, B.B.,



303

Witte, U., and Pfannkuche, O., 2000. A marine
microbial consortium apparently mediating
anaerobic oxidation of methane. Nature, 407: 623-
626.

Böttcher, M.E. and Lepland, A., 2000. Biogeochemistry
of sulfur in a sediment core from the west-central
Baltic Sea: Evidence from stable isotopes and pyrite
textures. Journal of Marine Systems, 25: 299-312.

Böttcher, M.E., and Thamdrup, B., 2001. Anaerobic sul-
fide oxidation and stable isotope fractionation asso-
ciated with bacterial sulfur disproportionation in the
presence of MnO2. Geochimica et Cosmochimica
Acta 65: 1573-1581.

Borowski, W.S., Paull, C.K., and Ussler III, W., 1996.
Marine pore-water sulfate profiles indicate in-situ
methane flux from underlying gas hydrate. Geology,
24: 655-658.

Bowen, H.J.M., 1979. Environmental chemistry of the
elements. Academic Press, London.

Bowman, J., 2000. The Methanotrophs - The families
Methylococcaceae and Methylocystaceae. In:
Dworkin, M., Balows, A., Trüper, H.G., Harder, W.,
and Schleifer, K.-H. (eds), The Prokaryotes, 3rd Ed.
Springer, New York.

Bréhéret, J.-G. and Brumsack, H.-J., 2000. Barite
concretions as evidence of pauses in sedimentation
in the Marnes Bleues Formation of the Vocontian
Basin (SE France). Sedimentary Geology, 130: 205-
228.

Brüchert, V., and Pratt, L.M., 1996. Contemporaneous
early diagenetic formation of organic and inorganic
sulfur in estuarine sediments from St. Andrew Bay,
Florida, USA. Geochimica et Cosmochimica Acta 60:
2325-2332.

Brumsack, H.-J., 1986. The inorganic geochemistry of
Cretaceous black shales (DSDP Leg 41) in
comparison to modern upwelling sediments from the
Gulf of California. In: Shackelton, N.J. and
Summerhayes, C.P. (eds) North Atlantic paleoceano-
graphy. Geological Society Special Publication 21,
London, pp. 447-462.

Burdige, D.J., 1993. The biogeochemistry of manganese
and iron reduction in marine sediments. Earth
Science Reviews, 35: 249-284.

Canfield, D.E., 1989. Sulfate reduction and oxic
respiration in marine sediments: implications for
organic carbon preservation in euxinic environ-
ments. Deep-Sea Research, 36: 121-138.

Canfield, D.E., 1991. Sulfate reduction in deep-sea
sediments. American Journal of Science, 291: 177-
188.

Canfield, D.E., 1993. Organic matter oxidation in
marine sediments. In: Wollast, R., Mackenzie, F.T.,
and Chou, L. (eds), Biogeochemical cycles and global
change. Springer, Berlin, pp. 333-363.

Canfield, D.E., and Teske, A., 1996. Late Proterozoic
rise in atmospheric oxygen concentration inferred
from phylogenetic and sulphur-isotope studies.
Nature, 382: 127-132.

Canfield, D.E., Raiswell, R., Westrich, J.T., Reaves,
C.M., and Berner, R.A., 1986. The use of chromium
reduction in the analyses of reduced inorganic sulfur
in sediments and shales. Chemical Geology, 54: 149-
155.

Canfield, D.E., Raiswell, R. and Bottrell, S., 1992. The
reactivity of sedimentary iron minerals toward
sulfide. Am. J. Sci., 292: 659-683.

Canfield, D.E., Thamdrup, B. and Hansen, J.W., 1993.

The anaerobic degradation of organic matter in
Danish coastal sediments: Iron reduction, manganese
reduction, and sulfate reduction. Geochimica et
Cosmochimica Acta, 57: 3867-3883.

Canfield, D.E., Kristensen, E., and Thamdrup, B., 2005.
Aquatic Geomicrobiology. Elsevier, San Diego,
California.

Cecile, M.P., Shakur, M.A. and Krouse, H.R., 1983. The
isotopic composition of western Canadian barites
and the possible derivation of oceanic sulfate δ34S
and δ18O age curves. Canadian Journal of Earth
Sciences, 20: 1528-1535.

Chanton, J.P., 1985. Sulfur mass balance and isotopic
fractionation in an anoxic marine sediment. Ph.D. The-
sis, University of North Carolina, Chapel Hill, USA.

Christensen, J.P., 1989. Sulphate reduction and carbon
oxidation rates in continental shelf sediments, an
examination of offshelf carbon transport. Continen-
tal Shelf Research, 9: 223-246.

Cline, J.D. and Richards, F.A., 1969. Oxygenation of
hydrogen sulfide in seawater at constant salinity,
temperature, and pH. Environment Sci. Technology,
3: 838-843.

Crill, P.M., and Martens, C.S., 1983. Spatial and tem-
poral fluctuations of methane production in anoxic
coastal marine sediments. Limnology and Oceano-
graphy, 28: 1117-1130.

Crill, P.M., and Martens, C.S., 1986. Methane produc-
tion from bicarbonate and acetate in an anoxic
marine sediment. Geochimica et Cosmochimica
Acta, 50: 2089-2097.

Crill, P.M., and Martens, C.S., 1987. Biogeochemical
cycling in an organic-rich coastal marine basin. 6.
Temporal and spatial variations in sulfate reduction
rates. Geochimica et Cosmochimica Acta, 51: 1175-
1186 .

Dehairs, F., Stoobants, N. and Goeyens, L., 1991.
Suspended barite as a tracer of biological activity in
the Southern Ocean. Marine Chemistry, 35: 399-
410.

Devol, A.H. and Ahmend, S.I., 1981. Are high rates of
sulphate reduction associated with anaerobic
oxidation of methane? Nature, 291: 407-408.

Devol, A.H., Anderson, J.J., Kuivila, K., and Murray,
J.W., 1984. A model for coupled sulfate reduction
and methane oxidation in the sediments of Saanich
Inlet. Geochimica et Cosmochimica Acta, 48: 993-
1004 .

D’Hondt, S., Jørgensen, B.B., Miller, J., et al., 2003.
Proceedings of the ODP, Initial Reports, 201 [CD-
ROM]. Available from: Ocean Drilling Program,
Texas A&M University, College Station, Texas
77845-9547, USA.

D’Hondt, S., Jørgensen, B.B., Miller, D.J., et al., 2004.
Distributions of microbial activities in deep subsea-
floor sediments. Science, 306: 2216-2221.

Dickens, G.R., 2001. Sulfate profiles and barium fronts
in sediment on the Blake Ridge: Present and past
methane fluxes through a large gas hydrate reservoir.
Geochimica et Cosmochimica Acta, 65: 529-543.

Dickens, G.R., Schroeder, D., Hinrichs, K.-U., and the
Leg 201 Scientific Party, 2003. The pressure core
sampler (PCS) on ODP Leg 201: general operations
and gas release. In: D’Hondt, S.L., Jørgensen, B.B.,
Miller, D.J., et al. (eds), Proceedings of the ODP,
Initial Reports, 201, 1-22 [CD-ROM]. Available
from: Ocean Drilling Program, Texas A&M
University, College Station TX 77845-9547, USA.

References



8 Sulfur Cycling and Methane Oxidation

304

Dos Santos Afonso, M. and Stumm, W., 1992. The
reductive dissolution of iron (III) (hydr) oxides by
hydrogen sulfide. Langmuir, 8: 1671-1676.

Dymond, J., Suess, E. and Lyle, M., 1992. Barium in
deep-sea sediment: A geochemical proxy for paleo-
productivity. Paleoceanography, 7: 163-181.

Edenborn, H.M., Silverberg, N., Mucci, A., and Sundby,
B., 1987. Sulfate reduction in deep coastal marine
sediments. Marine Chemistry, 21: 329-345.

Ehrlich, H.L., 1996. Geomicrobiology. Marcel Dekker,
NY, 719 pp.

Elderfield, H., and Schultz, A., 1996. Mid-ocean ridge
hydrothermal fluxes and the chemical composition
of the ocean. Annual Review of Earth and Planetary
Science, 24: 191-224.

Elvert, M., Suess, E., Greinert, J., and Whiticar, M.J.,
2000. Archaea mediating anaerobic methane oxida-
tion in deep-sea sediments at cold seeps of the
eastern Aleutian subduction zone. Organic Geoche-
mistry, 31: 1175-1187.

Ferdelman, T. G., Fossing, H., Neumann, K., and Schulz,
H.D., 1999. Sulfate reduction in surface sediments of
the southeast Atlantic continental margin between 15
degrees 38´S and 27 degrees 57´S (Angola and
Namibia). Limnology and Oceanography, 44: 650-661.

Finster, K., Liesack, W., and Thamdrup, B., 1998.
Elemental sulfur and thiosulfate disproportionation
by Desulfocapsa sulfoexigens sp. nov., a new
anaerobic bacterium isolated from marine surface
sediment. Applied and Environmental Microbiology,
564: 119-125.

Fossing, H., and Jørgensen, B.B., 1989. Measurement of
bacterial sulfate reduction in sediments: Evaluation
of a single-step chromium reduction method. Bio-
geochemistry, 8: 205-222.

Fossing, H., and Jørgensen, B.B., 1990. Oxidation and
reduction of radiolabeled inorganic sulfur compounds
in an estuarine sediment, Kysing Fjord, Denmark.
Geochimica et Cosmochimica Acta, 54: 2731-2742.

Fossing, H., Ferdelman, T.G., and Berg, P., 2000. Sulfate
reduction and methane oxidation in continental
margin sediments influenced by irrigation (South-
East Atlantic off Namibia). Geochimica et Cosmo-
chimica Acta, 64: 897-910.

Fossing, H., Gallardo, V.A., Jørgensen, B.B., Hüttel, M.,
Nielsen, L.P., Schulz, H., Canfield, D.E., Forster, S.,
Glud, R.N., Gundersen, J.K., Küver, J., Ramsing,
N.B., Teske, A., Thamdrup, B., and Ulloa, O., 1995.
Concentration and transport of nitrate by the mat-
forming sulphur bacterium Thioploca . Nature, 374:
713-715.

Froelich, P.N., Klinkhammer, G.P., Bender, M.L.,
Luedtke, N.A., Heath, G.R., Cullen, D., Dauphin, P.,
Hammond, D., Hartman, B., and Maynard, V., 1979.
Early oxidation of organic matter in pelagic
sediments of the eastern equatorial Atlantic: Suboxic
diagenesis. Geochimica et Cosmochimica Acta, 43:
1075-1090.

Funk, J.A., von Dobeneck, T. and Reitz, A., 2003a.
Integrated rock magnetic and geochemical
quantification of redoxomorphic iron mineral
diagenesis in Late Quaternary sediments from the
Equatorial Atlantic. In: Wefer, G., Mulitza, S. and
Ratmeyer, V. (eds) The South Atlantic in the Late
Quaternary: Reconstruction of Material Budget and
Current Systems. Springer, Berlin, pp. 237-260.

Funk, J.A., von Dobeneck, T., Wagner, T. and Kasten,
S., 2003b. Late Quaternary sedimentation and early
diagenesis in the equatorial Atlantic Ocean:

Patterns, trends and processes deduced from rock
magnetic and geochemical records. In: Wefer, G.,
Mulitza, S. and Ratmeyer, V. (eds) The South
Atlantic in the Late Quaternary: Reconstruction of
Material Budgets and Current Systems. Springer,
Berlin, pp. 461-497.

Garrison, T., 1997. Oceanography. Wadsworth Publi-
shing Company, Belmont, California.

Giblin, A.E. and Howarth, R.W., 1984. Porewater
evidence for a dynamic sedimentary iron cycle in
salt marshes. Limnology and Oceanography, 29: 47-
63 .

Gingele, F.X. and Dahmke, A., 1994. Discrete barite
particles and barium as tracers of paleoproductivity
in South Atlantic sediments. Paleoceanography, 9:
151-168.

Gingele, F.X., Zabel, M., Kasten, S., Bonn, W.J. and
Nürnberg, C.C., 1999. Biogenic barium - methods
and constraints of application as a proxy for
paleoproductivity. In: Fischer G. and Wefer, G. (eds),
Use of proxies in paleoceanography: examples from
the South Atlantic. Springer, Berlin, pp. 345-364.

Goldhaber, M.B. and Kaplan, I.R., 1974. The sulfur
cycle. In: Goldberg, E.D. (ed), The Sea, 5, Wiley, pp
569-655.

Goodfellow, W.D. and Jonasson, I.R., 1984. Ocean
stagnation and ventilation defined by 34S secular
trends in pyrite and barite, Selwyn Basin, Yukon.
Geology, 12: 583-586.

Greinert, J., Bollwerk, S.M., Derkachev, A., Bohrmann,
G. and Suess, E., 2002. Massive barite deposits and
carbonate mineralization in the Derugin Basin, Sea
of Okhotsk: precipitation processes at cold seeps.
Earth and Planetary Science Letters, 203: 165-180.

Hallam, S.J., Girguis, P.R., Preston, C.M., Richardson,
P.M., and DeLong, E.F., 2003. Identification of
methyl coenzyme M reductase A (mcrA) genes asso-
ciated with methane oxidizing archaea. Applied and
Environmental Microbiology, 69: 5483-5491.

Hedges, J.I., and Keil, R.G., 1995. Sedimentary organic
matter preservation: An assessment and speculative
synthesis. Marine Chemistry, 49: 81-115.

Henrichs, S.M. and Reeburgh, W.S., 1987. Anaerobic
mineralization of marine sediment organic matter:
rates and the role of anaerobic processes in the
oceanic carbon economy. Geomicrobiology Journal,
5: 191-237.

Hensen, C., Zabel, M., Pfeifer, K., Schwenk, T., Kasten,
S., Riedinger, N., Schulz, H.D. and Boetius, A., 2003.
Control of sulfate pore-water profiles by sedimen-
tary events and the significance of anaerobic oxida-
tion of methane for burial of sulfur in marine sedi-
ments. Geochimica et Cosmochimica Acta, 67:
2631-2647.

Hinrichs, K.-U., and Boetius, A., 2002. The anaerobic
oxidation of methane: New insights in microbial
ecology and biogeochemistry. In: Wefer, G., Billett,
D., Hebbeln, D., Jørgensen, B.B., Schlüter, M., and
van Weering, T. (eds), Ocean margin Systems.
Springer, Berlin, pp. 457-477.

Hinrichs, K.-U., Hayes, J.M., Sylva, S.P., Brewer, P.G.,
and DeLong, E.F., 1999. Methane-consuming
archaebacteria in marine sediments. Nature, 398:
802-805.

Hinrichs, K.-U., Summons, R.E., Orphan, V., Sylva, S.P.,
and Hayes, J.M., 2000. Molecular and isotopic
analyses of anaerobic methane-oxidizing communi-
ties in marine sediments. Organic Geochemistry, 31:
1685-1701.



305

Hoehler,  T.M.,  Alperin,  M.J. ,  Albert ,  D.B.,  and
Martens,  C.S. ,  1994. Field and laboratory studies
of methane oxidation in an anoxic marine sedi-
ment:  Evidence for a methanogen-sulfate reducer
consortium. Global Biogeochemical  Cycles,  8:
451-463 .

Hoehler, T.M., Alperin, M.J., Albert, D.B., and Martens,
C.S., 1998. Thermodynamic control on hydrogen
concentration in anoxic sediments. Geochimica et
Cosmochimica Acta, 62: 1745-1756.

Hoehler, T.M., Alperin, M.J., Albert, D.B., and Martens,
C.S., 2001. Apparent minimum free energy
requirements for methanogenic Archaea and sulfate-
reducing bacteria in an anoxic marine sediment.
FEMS Microbiology Ecology, 38: 33-41.

Howarth, R.W., 1979. Pyrite: Its rapid formation in a
salt marsh and its importance in ecosystem
metabolism. Science, 203: 49-51.

Huettel, M., Ziebis, W., Forster, S., and Luther III,
G.W., 1998. Advective transport affecting metal and
nutrient distributions and interfacial fluxes in
permeable sediments. Geochimica et Cosmochimica
Acta, 62: 613-631.

Ivanov, M.V., 1968. Microbiological processes in the
formation of sulfur deposits. Israel Program for
Scientific Translations, Jerusalem.

Iversen, N., and Jørgensen, B.B., 1985. Anaerobic
methane oxidation rates at the sulfate-methane
transition in marine sediments from Kattegat and
Skagerrak (Denmark). Limnology and Oceanogra-
phy, 30: 944-955.

Jackson, B.E., and McInerney, M.J., 2002. Anaerobic
microbial metabolism can proceed close to thermo-
dynamic limits. Nature, 415: 454-456.

Jahnke, R.A., 1996. The global ocean flux of particulate
organic carbon: Areal distribution and magnitude.
Global Biogeochemical Cycles, 10: 71-88.

Jannasch, H.W., Nelson, D.C., and Wirsen, C.O., 1989.
Massive natural occurrence of unusually large
bacteria (Beggiatoa sp.) at a hydrothermal deep-sea
vent site. Nature, 342: 834-836.

Jørgensen, B.B., 1977. The sulfur cycle of a coastal
marine sediment (Limfjorden, Denmark). Limnology
and Oceanography, 22: 814-832.

Jørgensen, B.B., 1978. A comparison of methods for the
quantification of bacterial sulfate reduction in
coastal marine sediments. I. Measurements with
radiotracer techniques. Geomicrobiology Journal, 1:
11-27.

Jørgensen, B.B., 1982. Mineralization of organic matter
in the sea bed - The role of sulfate reduction.
Nature, 296: 643-645.

Jørgensen, B.B., 1983. Processes at the sediment-water
interface. In: Bolin, B. and Cook, R.C. (eds), The
major biogeochemical cycles and their interactions.
SCOPE, pp. 477-509.

Jørgensen, B.B., 1990. A thiosulfate shunt in the sulfur
cycle of marine sediments. Science, 249: 152-154.

Jørgensen, B.B., 1996. Case Study: Aarhus Bay. In:
Jørgensen, B.B., and Richardson, K. (eds), Eutrophi-
cation in a coastal marine environment. Coastal and
Estuarine Studies, American Geophysical Union,
Washington, DC, pp. 137-154

Jørgensen, B.B., and Bak, F., 1991. Pathways and
microbiology of thiosulfate transformations and
sulfate reduction in a marine sediment (Kattegat,
Denmark). Applied and Environmental Microbio-
logy, 57: 847-856.

Jørgensen, B.B., and Gallardo, V.A., 1999. Thioploca
spp.: filamentous sulfur bacteria with nitrate
vacuoles. FEMS Microbiology Ecology, 28: 301-
313.

Jørgensen, B.B., and Nelson D.C., 2004. Sulfide
oxidation in marine sediments: Geochemistry meets
microbiology. In.: Amend, J.P., Edwards, K.J., and
Lyons, T.W. (eds), Sulfur Biogeochemistry - Past
and Present. Geological Society of America Special
Paper 379, Boulder, Colorado, pp. 63-81.

Jørgensen, B.B., Bang, M., and Blackburn, T.H., 1990.
Anaerobic mineralization in marine sediments from
the Baltic Sea - North Sea transition. Marine
Ecology Progress Series, 59: 39-54.

Jørgensen, B.B., Weber, A., and Zopfi, J., 2001. Sulfate
reduction and anaerobic methane oxidation in Black
Sea sediments. Deep-Sea Research, 48: 2097-2120.

Jørgensen, B.B., Böttcher, M.E., Lüschen, H., Neretin,
L., and Volkov, I., 2004. Anaerobic methane oxida-
tion and a deep H2S sink generate isotopically heavy
sulfides in Black Sea sediments. Geochimica et Cos-
mochimica Acta, 68: 2095-2118.

Judd, A.G., Hovland, M., Dimitrov, I.I., Garcia Gil, S.,
and Jukes, V., 2002. The geological methane budget
at Continental Margins and its influence on climate
change. Geofluids, 2: 109-126.

Kallmeyer, J., Ferdelman, T.G., Weber, A., Fossing, H.,
and Jørgensen, B. B., 2004. A cold chromium
distillation procedure for radiolabeled sulfide applied
to sulfate reduction measurements. Limnology and
Oceanography Methods, 2: 171-180.

Karlin, R. and Levi, S., 1983. Diagenesis of magnetic
minerals in recent hemipelagic sediments. Nature,
303: 327-330.

Karlin, R. and Levi, S., 1985. Geochemical and
sedimentological control of the magnetic properties
of hemipelagic sediments. Journal of Geophysical
Research, 90: 10373-10392.

Kasten, S., Zabel, M., Heuer, V. and Hensen, C., 2003.
Processes and signals of nonsteady-state diagenesis
in deep-sea sediments and their pore waters. In:
Wefer, G., Mulitza, S. and Ratmeyer, V. (eds), The
South Atlantic in the Late Quaternary: Recon-
struction of Material Budget and Current Systems.
Springer, Berlin, pp. 431-459.

Kasten, S., Freudenthal, T., Gingele, F.X., von Dobeneck,
T. and Schulz, H.D., 1998. Simultaneous formation of
iron-rich layers at different redox boundaries in
sediments of the Amazon Deep-Sea Fan. Geochimica
et Cosmochimica Acta 62: 2253-2264.

Kelly, D.P., 1988. Oxidation of sulfur compounds. In:
Cole, A.S. and Ferguson, S.J. (eds), The Nitrogen and
Sulfur Cycles. Soc. Gen. Microbiol., 42, pp. 65-98.

Kjær, T., 2000. Development and application of new
biosensors for microbial ecology. Ph.D. Thesis,
University of Aarhus, Denmark, 324 p.

Knittel, K., Lösekann, T., Boetius, A., Kort, R., and
Amann, R., 2005. Diversity and distribution of
methanotrophic archaea at cold seeps. Applied and
Environmental Microbiology, 71: 467-479.

Kölling, A., 1991. Frühdiagenetische Prozesse und Stoff-
Flüsse in marinen und ästuarinen Sedimenten.
Berichte, 15, Fachbereich Geowissenschaften, Uni-
versität Bremen, 140 pp.

Krämer, M., and Cypionka, H., 1989. Sulfate formation
via ATP sulfurylase in thiosulfate- and sulfite-
disproportionating bacteria. Archives of Microbio-
logy, 122: 183-188.

References



8 Sulfur Cycling and Methane Oxidation

306

Krein, E.B. and Aizenshtat, Z., 1995. Proposed thermal
pathways for sulfur transformations in organic
macromolecules: Laboratory simulation experi-
ments. In: Vairavamurthy, M.A. and Schoonen,
M.A.A. (eds), Geochemical Transformations of Sedi-
mentary Sulfur, ACS symposium series, 612,
Washington, DC, pp. 110-137.

Krüger, M., Meyerdierks, A., Gloeckner, F.O., Amann,
R., Widdel, F., Kube, M., Reinhardt, R., Kahnt, J.,
Boecher, R., Thauer, R.K., and Shima, S., 2003. A
conspicuous nickel protein in microbial mats that
oxidize methane anaerobically. Nature, 426: 878-
881.

Lin, S., and Morse, J.W., 1991. Sulfate reduction and
iron sulfide mineral formation in Gulf of Mexico
anoxic sediments. American Journal of Science, 291:
55-89.

Lowson, R.T., 1982. Aqueous oxidation of pyrite by
molecular oxygen. Chemical Reviews, 82: 461-497.

Luther, G.W., III, 1987. Pyrite oxidation and reduction:
Molecular orbital theory considerations. Geochimica
et Cosmochimica Acta, 51: 3193-3199.

Luther III, G.W., 1991. Pyrite synthesis via polysulfide
compounds. Geochimica et Cosmochimia Acta, 55:
2839-2849.

Luther III, G.W. and Church, T.M., 1991. An overview
of the environment chemistry of sulfur in wetland
systems. In: Howarth, R.W. et al (eds), Sulfur
cycling on the continents. John Wiley, pp: 125-144.

Luther III, G.W., Giblin, A., Howarth, R.W. and Ryans,
R.A., 1982. Pyrite and oxidized iron mineral phases
formed from pyrite oxidation in salt marsh and
estuarine sediments. Geochimica et Cosmochimica
Acta, 46: 2665-2669.

Martens, C.S., and Berner, R.A., 1974. Methane
production in the interstitial waters of sulfate-
depleted marine sediments. Science, 185: 1167-
1169 .

McCollom, T.M., and Shock, E.L., 1997. Geochemical
constraints on chemolithoautotrophic metabolism
by microorganisms in seafloor hydrothermal
systems. Geochimica et Cosmochimica Acta, 61:
4375-4391.

Mearon, S., Paytan, A. and Bralower, T.J., 2003.
Cretaceous strontium isotope stratigraphy using
marine barite. Geology, 31: 15-18.

Michaelis, W., Seifert, R., Nauhaus, K., Treude, T.,
Thiel, V., Blumenberg, M., Knittel, K., Gieseke, A.,
Peterknecht, K., Pape, T., Boetius, A., Amann, R.,
Jørgensen, B.B., Widdel, F., Peckmann, J., Pimenov,
N.V., and Gulin, M.B., 2002. Microbial reefs in the
Black Sea fueled by anaerobic oxidation of methane.
Science, 297: 1013-1015.

Middelburg, J.B.M., 1990. Early diagenesis and
authigenic mineral formation in anoxic sediments of
Kau Bay, Indonesia. PhD Thesis, Universitiy of
Utrecht, Utrecht, 177 pp.

Middelburg, J.J., Soetaert, K., and Herman, P.M.J.,
1997. Empirical relationships for use in global
diagenetic models. Deep-Sea Research I, 44: 327-
344.

Moore, T.S., Murray, R.W., Kurtz, A.C. and Schrag,
D.P., 2004. Anaerobic methane oxidation and the
formation of dolomite. Earth and Planetary Science
Letters, 229: 141-154.

Morse, J.W., 1991. Oxidation kinetics of sedimentary
pyrite in seawater. Geochimica et Cosmochimica
Acta, 55: 3665-3667.

Morse, J.W., 2002. Sedimentary geochemistry of the
carbonate and sulphide systems and their potential
influence on toxic metal bioavailability. In. Gian-
guzza, A., Pelizzetti, E. and Sammartano, S. (eds),
Chemistry of Marine Water and Sediments. Springer,
pp. 165-189.

Moses, C.O., and Herman, J.S., 1991. Pyrite oxidation
at circumneutral pH. Geochimica et Cosmochimica
Acta, 55: 471-482.

Murray, J.W., Grundmanis, V. and Smethie, W.M. Jr,
1978. Interstitial water chemistry in sediments of
Saanich Inlet. Geochimica et Cosmochimica Acta,
42: 1011-1026.

Nauhaus, K., Boetius, A., Krüger, M., and Widdel, F.,
2002. In vitro demonstration of anaerobic oxidation
of methane coupled to sulphate reduction in
sediment from a marine gas hydrate area. Environ-
mental Microbiology, 4: 296-305.

Neretin, L., Böttcher, M.E., Jorgensen, B.B., Volkov,
I.I., Lüschen, H. and Hilgenfeldt, K., 2004. Pyriti-
zation processes and greigite formation in the
advancing sulfidization front in the upper Pleisto-
cene sediments of the Black Sea. Geochimica et
Cosmochimica Acta, 68: 2081-2093.

Neumann, T., Rausch, N., Leipe, T., Dellwig, O., Berner,
Z. and Böttcher, M.E., 2005. Intense pyrite
formation under low-sulfate conditions in the Ach-
terwasser lagoon, SW Baltic Sea. Geochimica et
Cosmochimica Acta, 69: 3619-3630.

Niewöhner, C., Hensen, C., Kasten, S., Zabel, M. and
Schulz, H.D., 1998. Deep sulfate reduction com-
pletely mediated by anaerobic methane oxidation in
sediments of the upwelling area off Namibia.
Geochimica et Cosmochimica Acta, 62: 455-464.

Nüster, J., 2005. New methods in biogeochemistry: The
development of electrochemical tools for the
measurement of dissolved and solid state compounds
in natural systems. PhD Thesis, University of
Bremen, 216 pp.

Orphan, V.J., House, C.H. Hinrichs, K.-U., McKeegan,
K.D., DeLong, E.F., 2001. Methane-consuming
archaea revealed by directly coupled isotopic and
phylogenetic analysis. Science, 293: 484-487.

Orphan, V.J., House, C.H., Hinrichs, K.-U., McKeegan,
K.D., DeLong, E.F., 2002. Multiple archaeal groups
mediate methane oxidation in anoxic cold seep
sediments. Proceedings of the National Academy of
Sciences USA, 99: 7663-7668.

Orr, W.L. and White, C.M. (eds), 1990. Geochemistry
of sulfur in fossil fuels. ACS Symposium Series, 429,
Washington, DC.

Pancost, R.D., Sinninghe Damsté, J.S., Lint, S.D., van
der Marel, M.J.E.C., Gottschal, J.C., and Shipboard
Scientific Party, 2000. Biomarker evidence for
widespread anaerobic methane oxidation in
Mediterranean sediments by a consortium of
methanogenic archaea and bacteria. Applied and
Environmental Microbiology, 66: 1126-1132.

Parkes, R.J., Webster, G., Cragg, B.A., Weightman, A.J.,
Newberry, C.J., Ferdelman, T.G., Kallmeyer, J.,
Jørgensen, B.B., Aiello, I.W., and Fry, J.C., 2005.
Deep sub-seafloor prokaryotes stimulated at
interfaces over geological time. Nature, 436: 390-
394.

Passier, H.F., Middelburg, J.J., Os, B.J.H.v. and Lange,
G.J.de, 1996. Diagenetic pyritisation under eastern
Mediterranean sapropels caused by downward sul-
phide diffusion. Geochimica et Cosmochimica Acta,
60: 751-763.



307

Paytan, A., Kastner, M., Martin, E.E., MacDougall,
J.D., and Herbert, T., 1993. Marine barite as a moni-
tor of seawater strontium isotope composition.
Nature, 366: 445-449.

Paytan, A., Kastner, M. and Chavez, F.P., 1996a.
Glacial to interglacial fluctuations in productivity in
the equatorial Pacific as indicated by marine barite.
Science, 274: 1355-1357.

Paytan, A., Moore, W.S. and Kastner, M., 1996b. Sedi-
mentation rate as determined by 226Ra activity in
marine barite. Geochimica et Cosmochi-mica Acta,
60: 4313-4319.

Paytan, A., Kastner, M., Campbell, D. and Thiemens,
M.H., 1998. Sulfur isotope composition of Cenozoic
seawater sulfate. Science, 282: 1459-1462.

Paytan, A., Mearon, S., Cobb, K. and Kastner, M., 2002.
Origin of marine barite deposits: Sr and S isotope
characterization. Geology, 30: 747-750.

Paytan, A., Martinez-Ruiz, F., Eagle, M., Ivy, A. and
Wankel, S.D., 2004. Using sulfur isotopes to
elucidate the origin of barite associated with high
organic matter accumulation events in marine
sediments. In: Amend, J.P., Edwards, K.J. and Lyons,
T.W. (eds), Sulfur Biogeochemistry – Past and
Present. Geological Society of America Special
Paper 379, pp. 151-160.

Poulton, S.W., Krom, M.D. and Raiswell, R., 2004. A
revised scheme for the reactivity of iron
(oxyhydr)oxides towards dissolved sulfide.
Geochimica et Cosmochimica Acta, 68: 3703-3715.

Pyzik, A.J. and Sommer, S.E., 1981. Sedimentary iron
monosulfides: kinetics and mechanism of formation.
Geochimica et Cosmochimica Acta, 45: 687-698.

Rabus, R., Hansen, T., and Widdel, F., 2004.
Dissimilatory Sulfate- and Sulfur Reducing Proka-
ryotes. In: Dworkin, M. et al. (eds), The Proka-
ryotes: An Evolving Electronic Resource for the
Microbiological Community, 3rd edition, Springer-
Verlag, New York, (http://link.springer-ny.com/link/
service/books/10125/).

Raiswell, R., 1982. Pyrite texture, isotopic composition
and the availability of iron. American Journal of
Science, 282: 1244-1265.

Raiswell, R., 1988. Chemical model for the origin of
minor limestone-shale cycles by anaerobic methane
oxidation. Geology, 16: 641-644.

Raiswell, R., and Canfield, D.E., 1998. Sources of iron
for pyrite formation in marine sediments. American
Journal of Science, 298: 219-245.

Raiswell, R., Canfield, D.E. and Berner, R.A., 1994. A
comparison of iron extraction methods for the
determination of degree of pyritization and the re-
cognition of iron-limited pyrite formation. Chemi-
cal Geology, 111: 101-110.

Reeburgh, W.S., 1969. Observations of gases in
Chesapeake Bay sediments. Limnology and Oceano-
graphy, 14: 368-375.

Reeburgh, W.S., 1976. Methane consumption in Cariaco
Trench waters and sediments. Earth and Planetary
Science Letters, 47: 345-352.

Reeburgh, W.S., 1982. A major sink and flux control for
methane in sediments: Anaerobic consumption. In:
Fanning, K.A. and Manheim, F.T. (eds), The
dynamic environment. Heath, Lexington, MA, pp.
203-217.

Reeburgh, W.S., Whalen, S.C., and Alperin, M.J., 1993.
The role of methylotrophy in the global methane
budget. In: Murrell, J.C., and Kelly, D.P. (eds),

Microbial growth on C1 compounds. Intercept,
Andover, UK, pp. 1-14.

Reitz, A., Hensen, C., Kasten, S., Funk, J. and de Lange,
G., 2004. A combined geochemical and rock-
magnetic investigation of a redox horizon at the last
glacial/interglacial transition. Physics and Chemistry
of the Earth, 29: 921-931.

Rickard, D.T., 1975. Kinetics and mechanisms of pyrite
formation at low temperatures. American Journal of
Science, 275: 636-652.

Rickard, D. and Luther III, G.W., 1997. Kinetics of
pyrite formation by the H2S oxidation of iron(II)
monosulfide in aqueous solutions between 25 and
125°C: The rate equation. Geochimica et Cosmo-
chimica Acta, 61: 115-134.

Rickard,  D.,  Schoonen,  M.A.A.,  Luther,  G.W.,  1995.
Chemistry of iron sulfides in sedimentary
environments.  In:  Vairavamurthy,  M.A. and
Schoonen, M.A.A. (eds),  Geochemical  Transfor-
mations of Sedimentary Sulfur.  ACS Symposium
Series 612, Washington DC, pp. 168-193.

Riedinger,  N.,  2005. Preservation and diagenetic
overprint  of geochemical  and geophysical  signals
in ocean margin sediments related to depositional
dynamics.  Berichte,  242,  Fachbereich Geowis-
senschaften, Universität Bremen, 91 pp.

Riedinger, N., Pfeifer, K., Kasten, S., Garming, J.F.L.,
Vogt,  C.  and Hensen,  C.,  2005. Diagenetic al te-
ration of magnetic signals by anaerobic oxidation
of methane related to a change in sedimentation
rate.  Geochimica et  Cosmochimica Acta,  69:
4 1 1 7 - 4 1 2 6 .

Roden, E.E., and Tuttle, J.H., 1992. Sulfide release from
estuarine sediments underlying anoxic bottom water.
Limnology and Oceanograpy 37: 725-738.

Rusch, A., Töpken, H., Böttcher, M.E., and Höpner, T.,
1998. Recovery from black spots: results of a
loading experiment in the Wadden Sea. Journal of
Sea Research, 40: 205-219.

Schink, B., 1997. Energetics of syntrophic cooperation
in methanogenic degradation. Microbiological and
Molecular Biological Reviews, 61: 262-280.

Schinzel, U., 1993. Laboratory experiments on early dia-
genetic reactions of iron(III) oxyhydroxides in marine
sediments (in German). Berichte, 36, Fachbereich
Geowissenschaften, Universität Bremen, 189 pp.

Schippers, A., 2004. Biogeochemistry of metal sulfide
oxidation in mining environments, sediments, and
soils. In: Amend, J.P., Edwards, K.J., and Lyons, T.W.
(eds), Sulfur biogeochemistry - Past and Present.
Geological Society of America Special Paper 379,
Boulder, Colorado, pp. 49-62

Schippers, A., and Jørgensen, B.B., 2001. Oxidation of
pyrite and iron sulfide by manganese in marine
sediments. Geochimica et Cosmochimica Acta, 65:
915-922.

Schippers, A., and Jørgensen, B.B., 2002. Biogeo-
chemistry of pyrite and iron sulfide oxidation in
marine sediments. Geochimica et Cosmochimica
Acta, 66: 85-92.

Schoonen, M.A.A., 2004. Mechanisms of sedimentary
pyrite formation. In: Amend, J.P., Edwards, K.J. and
Lyons, T.W. (eds), Sulfur Biogeochemistry – Past and
Present. Geological Society of America Special Paper
379, pp. 117-134.

Schouten, S., Eglington, T.I., Sinninghe Damsté, J.S. and
de Leeuw, J.W., 1995. Influence of sulfur cross-
linking on the molecular size distribution of sulfur-
rich macromolecules in bitumen. In: Vairavamurthy,

References



8 Sulfur Cycling and Methane Oxidation

308

M.A. and Schoonen, M.A.A. (eds), Geochemical
transformation of sedimentary sulfur. ACS Sympo-
sium 612, Washington, DC, pp. 80-92.

Schulz H.D., Dahmke A., Schinzel U., Wallmann K., and
Zabel M., 1994. Early diagenetic processes, fluxes
and reaction rates in sediments of the South-Atlantic.
Geochimica et Cosmochimica Acta, 58: 2041-2060.

Schulz, H.N., and Jørgensen, B.B., 2001. Big bacteria.
Annual Reviews in Microbiology, 55: 105-137.

Schulz, H.N., Brinkhoff, T., Ferdelman, T.G., Hernandez
Marine, M., Teske, A., and Jørgensen, B.B., 1999.
Dense populations of a giant sulfur bacterium in
Namibian shelf sediments. Science, 284: 493-495.

Smith, S.V., and Hollibaugh, J.T., 1993. Coastal meta-
bolism and the oceanic organic carbon balance.
Reviews in Geophysics, 31: 75-89.

Sørensen, K.B., Finster, K., and Ramsing, N.B., 2001.
Thermodynamic and kinetic requirements in
anaerobic methane oxidizing consortia exclude hydro-
gen, acetate, and methanol as possible electron
shuttles. Microbial Ecology, 42: 1-10.

Sorokin, Yu.L., 1962. Experimental investigation of
bacterial sulfate reduction in the Black Sea using S35.
Microbiology, 31: 329-335.

Stetter, K.O., Huber, R., Blöchl, E., Kurr, M., Eden, R.D.,
Fielder, M., Cash, H., and Vance, I., 1993. Hyper-
thermophilic archaea are thriving in deep North Sea
and Alaskan oil reservoirs. Nature, 365: 743-745.

Sweeney, R.E. and Kaplan, I.R., 1973. Pyrite Framboid
Formation: Laboratory Synthesis and Marine Sedi-
ments. Economic Geology, 68: 618-634.

Thamdrup, B., and Canfield, D.E., 1996. Pathways of
carbon oxidation in continental margin sediments off
central Chile. Limnology and Oceanography, 41:
1629-1650.

Thamdrup, B., Finster, K, Hansen, J.W., and Bak, F.,
1993. Bacterial disproportionation of elemental
sulfur coupled to chemical reduction of iron or
manganese. Applied and Environmental Microbio-
logy, 59: 101-108.

Thamdrup, B., Fossing, H., and Jørgensen, B.B., 1994a.
Manganese, iron, and sulfur cycling in a coastal
marine sediment, Aarhus Bay, Denmark. Geochimica
et Cosmochimica Acta, 58: 5115-5129.

Thamdrup, B., Finster, K., Fossing, H., Hansen, J.W., and
Jørgensen, B.B., 1994b. Thiosulfate and sulfite
distributions in porewater of marine sediments related
to manganese, iron and sulfur geochemistry. Geochi-
mica et Cosmochimica Acta, 58: 67-73.

Thiel, V., Peckmann, J., Richnow, H.H., Luth, U., Reit-
ner, J., and Michaelis, W., 2001. Molecular signals for
anaerobic methane oxidation in Black Sea seep
carbonates and a microbial mat. Marine Chemistry,
73: 97-112.

Thode-Andersen, S., and Jørgensen, B.B., 1989. Sulfate
reduction and the formation of 35S-labeled FeS, FeS2,
and S° in coastal marine sediments. Limnology and
Oceanography, 34: 793-806.

Torres, M.E., Brumsack, H.J., Bohrmann, G. and Emeis,
K.C., 1996. Barite fronts in continental margin
sediments: A new look at barium remobilization in the
zone of sulfate reduction and formation of heavy
barites in diagenetic fronts. Chemical Geology, 127:
125-139.

Treude, T., Niggemann, J., Kallmeyer, J., Wintersteller,
P., Schubert, C.J., Boetius, A., and Jørgensen, B.B.,
2005. Anaerobic oxidation of methane and sulfate
reduction along the Chilean continental margin.

Geochimica et Cosmochimica Acta, 69: 2767-2779.
Troelsen, H., and Jørgensen, B.B., 1982. Seasonal

dynamics of elemental sulfur in two coastal sedi-
ments. Estuarine and Coastal Shelf Science, 15: 255-
266.

Vairavamurthy, A., Manowitz, B., Luther III, G.W., Jeon,
Y., 1993. Oxidation state of sulfur in thiosulfate and
implications for anaerobic energy metabolism. Geo-
chimica et Cosmochimica Acta, 57: 1619-1623.

Vairavamurthy, M.A., Orr, W.L. and Manowitz, B., 1995.
Geochemical transformation of sedimentary sulfur: an
introduction. In: Vairavamurthy, M.A. and Schoonen,
M.A.A. (eds), Geochemical tranformation of sedi-
mentary sulfur. ACS Symposium, 612, Washing-ton,
DC, pp. 1-17.

Valentine, D.L., and Reeburgh, W.S., 2000. New
perspectives on anaerobic methane oxidation - Mini-
review. Environmental Microbiology, 2: 477-484.

Van Beek, P. and Reyss, J.-L., 2001. 226Ra in marine
barite: New constraints on supported 226Ra. Earth
Planetary Science Letters, 187: 147-161.

Van Beek, P., Reyss, J.-L., Paterne, M., Gersonde, R.,
Rutgers van der Loeff, M. and Kuhn, G., 2002. 226Ra
in barite: Absolute dating of Holocene Southern
Ocean sediments and reconstruction of sea-surface
reservoir ages. Geology, 30: 731-734.

van Cappellen, P., and Wang, Y., 1996. Cycling of iron
and manganese in surface sediments: A general theory
for the coupled transport and reaction of carbon,
oxygen, nitrogen, sulfur, iron, and manganese. Ame-
rican Journal of Science, 296: 197-243.

Von Breymann, M.T.K., Emeis, K.C. and Suess, E., 1992.
Water depth and diagenetic constraints on the use of
barium as a paleoproductivity indicator. In: Summer-
hayes, C.P. (ed) Upwelling Systems: Evolution since
the Early Miocene. Geological Society Special
Publication 64, pp 273-284.

Weber, A., and Jørgensen, B.B., 2002. Bacterial sulfate
reduction in hydrothermal sediments of the Guaymas
Basin, Gulf of California, Mexico. Deep-Sea Research
I, 49: 827-841.

Werne, J.P., Hollander, D.J., Lyons, T.W. and Sinninghe
Damsté, J.S., 2004. Organic sulfur biogeochemistry:
Recent advances and future research directions. In:
Amend, J.P., Edwards, K.J. and Lyons, T.W. (eds),
Sulfur Biogeochemistry – Past and Present. Geo-
logical Society of America Special Paper 379, pp.
135-150.

Westrich, J.T., and Berner, R.A., 1984. The role of
sedimentary organic matter in bacterial sulfate reduc-
tion: The G model tested. Limnology and Oceano-
graphy, 29: 236-249.

Whiticar, M.J., 1999. Carbon and hydrogen isotope
systematics of bacterial formation and oxidation of
methane. Chemical Geology, 161: 291-314.

Whitman, W.B., Bowen, T.L., and Boone, D.R., 1999.
The methanogenic bacteria. In: Dworkin, M., Balows,
A., Trüper, H.G., Harder, W., and Schleifer, K.-H.
(eds), The Prokaryotes, 3rd. Ed. Springer, New York.

Widdel, F., 1988. Microbiology and ecology of sulfate-
and sulfur-reduction bacteria. In: Zehnder, A.J.B. (ed),
Biology of anaerobic microorganisms. Wiley & Sons,
NY, pp. 469-585.

Widdel, F. and Hansen, T.A., 1991. The dissimilatory
sulfate- and sulfur-reducing bacteria. In: Balows, H. et
al. (eds), The Procaryotes. Springer, pp. 583-624.

Wilkin, R.T. and Barnes, H.L., 1996. Pyrite formation
by reactions of iron monosulfides with dissolved



309

inorganic and organic sulfur species. Geochimica et
Cosmochimica Acta, 60: 4167-4179.

Wollast, R., 1998. Evaluation and comparison of the
global carbon cycle in the coastal zone and in the
open ocean. In: Brink, K.H., and Robinson, A.R.
(eds), The Sea, Vol. 10, pp. 213-252.

References



311

9 Marine Carbonates:
Their Formation and Destruction
RALPH R. SCHNEIDER, HORST D. SCHULZ
AND CHRISTIAN HENSEN

9.1 Introduction

For marine carbonates, an overwhelming amount
of information exists in a variety of specialized
journals addressing marine geochemistry and car-
bon cycling, as well as in many books summariz-
ing the state of knowledge on this topic. There-
fore it would be far beyond the scope of this
chapter to try to completely review what is known
about marine calcareous sediments and their di-
agenesis. On the other hand, although intensively
investigated since the previous century (e.g. Murray
1897), marine carbonates have gained increasing
attention by marine biologists, geochemists, pale-
oceanographers and paleoclimatologists over the
last three decades. Among other reasons this is
because marine carbonates, together with the
oceanic CO2-carbonic acid-system, act as a sink or
source of carbon within the global carbon cycle
which has become a key topic of investigation and
modelling related to the role of the greenhouse gas
CO2 in future global climate change.

Descriptions of sedimentary carbonates in dif-
ferent oceanic environments always have dealt
with the formation of the calcium carbonate and
the biologically, physically and chemically medi-
ated processes governing the observed distribu-
tion of sedimentary carbonates in the marine
realm. In this context special emphasis was often
given to the complex pattern of inorganic and or-
ganic carbon exchange between the atmosphere,
the world ocean and the continents. These are ad-
ditional factors determining the distribution of in-
organic carbon dissolved in seawater and the ac-
cumulation or destruction of calcium carbonate in
marine sediments (Berger 1976; Andersen and
Malahoff 1977; Broecker and Peng 1982;
Sundquist and Broecker 1985; Morse and
Mackenzie 1990). The intention of this chapter is

furthermore to review the knowledge on the rate
of calcium carbonate production in the ocean, the
fluxes through the water column, as well as the
rates of inorganic carbon accumulation and de-
struction in different marine environments. For
this purpose this chapter summarizes studies deal-
ing with the estimation of global carbonate reser-
voirs and fluxes in the state of ongoing produc-
tion, accumulation and dissolution or physical
erosion (Milliman 1993; Milliman and Droxler 1996;
Wollast 1994). In addition, this chapter addresses
the principles and presents examples for
calculation of carbonate saturation conditions un-
der variable boundary conditions in the oceanic
CO2-carbonic acid-calcite system, i.e. temperature,
pressure, salinity, and CO2 exchange with the
atmosphere.

9.2 Marine Environments of
Carbonate Production and
Accumulation

This section primarily focuses on the description
of the deposition and accumulation of carbonates
in shallow waters and in the deep ocean. The main
depocenters for calcium carbonates are the
continental shelf areas, as well as island arcs or
atolls, which are the typical shallow water envi-
ronments for massive carbonate formation, and
the pelagic deep-sea sediments above the calcite
compensation depth catching the rain of small cal-
careous tests formed by marine plankton in the
surface waters.

9.2.1 Shallow-Water Carbonates

Shallow-water carbonates are formed either by
sediments made up of a variety of carbonate par-
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ticles which have their origin in biotic and abiotic
processes, or by massive reefs and platforms built
up by skeleton-forming organisms. On a global
scale, these shallow-water carbonates in the mod-
ern environment are mainly constituted by par-
ticles of skeletal origin. However, aside from the
corals, the understanding of the physico-chemical
and vital factors affecting the biomineral composi-
tion of shallow platform calcareous sediments in
warm waters is still incomplete. Shallow environ-
ment precipitates form ooids and aragonitic needle
muds, whereby the former involve primarily
abiotic processes and the latter have both an
abiotic and biotic source.

For long time, the classical picture of shallow
water carbonates was suggesting that most of
their formation was restricted to tropical and sub-
tropical regions within the 22°C isotherm of annual
mean surface water temperatures (e.g. Berger and
Seibold 1993), but it now has become evident that
a significant amount of carbonate can also be
formed as so-called 'cool-water' carbonate banks
and reefs in temperate and cold latitudes (review
by James 1997; Freiwald 2002). In the temperate
and cold-water zones, particularly shelf and upper
slope areas with only very low inputs of
terrigenous sediments are covered by cool-water
carbonate bioherms (Fig. 9.1a). Different from the
warm-water environment, where the major portion
of skeletal carbonate is predominantly formed by
an association of hermatypic corals and green
algae referred to as 'Photozoan Association '
(James 1997), the cool-water carbonates can be
composed of molluscs, foraminifers, echinoderms,
bryozoans, barnacles, ostracods, sponges, worms,
ahermatypic corals and coralline algae. For
differentiation from the warm-water Photozoan
Association, the group of organisms forming cool-
water carbonates in shallow waters that are colder
than 20°C is defined by James 1997 as Heterozoan
Association (see also Fig. 9.1). According to
Freiwald (2002) the largest coral reef provinces
occur at greater water depths under cold and dark
conditions usually below the storm wave base from
the high to low latitudes of both hemispheres. In
the North Atlantic the dominant reef-forming corals
belong to scleractinian species. A first attempt to
calculate the amount of CaCO3 produced by cold-
water reefs on global carbonate production was
provided by Lindberg & Mienert (2005). Their
estimate is in the order of 4 to 12 % of that of
tropical reefs which results in a tentative estimate >
1 % of total marine carbonate production. Since

these first estimates are relying on data from the
Norwegian shelf only, it is difficult to come up
with really reliable global carbonate production
esti-mates for cold-water reefs at the moment.
Therefore the estimates of Wollast (1994); Milli-
man & Droxler (1996), and Vecsei (2004) for
worldwide shelf areas are considered here. For
budget considerations it seems feasible to sepa-
rate shal-low-water carbonates according to
Milliman (1993) into coral reefs, carbonate
platforms which consist of non-reef habitats,
such as banks and embayments dominated by
the sedimentation of biogenic and abiogenic
calcareous particles, and shelves which can be
further subdivided into car-bonate-rich and car-
bonate-poor shelves (Table 9.1 adopted from
Milliman (1993) and Milliman and Droxler (1996),
taking into account Vescei (2004) estimates.

Reefs

Hermatypic coralalgal reefs and their fore-reef
sections occupy an area of about 0.35 ⋅106 km2 and
are considered as the most productive carbonate
environments in modern times. Carbonate
accretion is the result of corals and green algae
and, to a minor extent also of benthic foraminifera.
Measured on a global scale, the mean calcium
carbonate accumulation in coral reefs is in the
order of 900-2700 g CaCO3 m-2yr-1. The total
present-day global CaCO3 production by coral
reefs then is 6.5-8.3 ⋅1012 mol yr-1 from which
about 7⋅1012 mol yr-1 accumulate, while the rest
(up to 1.5 ⋅1012 mol yr-1) undergoes physical
erosion and offshore transport, as well as
biological destruction (Milliman 1993).

Carbonate platforms

These platforms are the second important tropical
to subtropical environment where high amounts of
carbonate are produced and accumulated at water
depths shallower than 50 m. The areal extension is
about 0.8⋅106 km2. In contrast to reefs, on
carbonate platforms production is mainly carried
out by benthic red/green algae, mollusks and
benthic foraminifera. Estimates of biotic and, to a
much lesser extent, abiotic carbonate production on
platforms range between 300-500 g CaCO3 m

-2 yr-1,
which amounts to 4⋅1012 mol yr-1 on a global scale.
Accumulation of platform carbonate is difficult to
assess because a lot of it is dissolved or can be
found as exported material in several 10 to 100 m
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thick sediment wedges of Holocene age at the
fringes of the platforms. Milliman (1993) estimates
that only one half of the carbonate accumulates
on shallow platforms where it is produced (2⋅1012

mol yr-1), while the other half leaves the shallow
water environment in the form of sediment lobes
or wedges downslope.

Continental shelves

Only very little knowledge exists concerning the
quantitative carbonate production, export and its
accumulation on continental shelves. Two shelf
types, carbonate-rich and carbonate-poor shelves,
are distinguished by Milliman and Droxler (1996).

Fig. 9.1 Marine calcium carbonate accumulation in a) typical depocenters in shallow waters and b) their global
distribution (James and Clarke 1997).



9 Marine Carbonates: Their Formation and Destruction

314

Their areas amount to 15 and 10⋅1012 km2,
respectively (Hay and Southam 1977). However
for the two shelf types well-constrained estimates
of how much carbonate is produced are missing.
In the context of shelves it may be important to
separate two other specific bioherms which could
have a great potential in shallow-water carbonate
production. These are sedimentary carbonates ex-
clusively built up by the calcareous green algae
Halimeda in tropical latitudes (e.g. Roberts and
Macintyre 1988) and extensive biotic cold-water
carbonate reefs or banks as described above for
mid to high latitudes. For Halimeda bioherms total
carbonate production and accumulation is about
1.5⋅1012 mol yr-1 (Table 9.1) while the estimates for
open shelves given by Wollast (1994) and
Milliman and Droxler (1996) do not differentiate a

budget for cold-water shelf areas on its own. Mean
carbonate production on lower-latitude shelf areas
may range between 50 and 100 g m-2yr-1 (Table 9.1);
in total 6⋅1012 mol yr-1. How much of this annual
production actually accumulates, is dissolved or
exported to the deep-sea remains questionable,
because shelf sediments are commonly a mixture of
modern and relictic components. Moreover,
accumulation rates on broad sandy shelves like
that off Argentina are not well-known, because
they have not been investigated in such detail yet
as other shelf environments. According to
Milliman and Droxler (1996) half of the production
on carbonate-rich shelves is accumulating (3⋅1012

mol yr-1; Table 9.1) while the other half is either
transported downslope to the deep sea or dis-
solved. For carbonate-poor shelves carbonate

Table 9.1 Maximum estimates of present-day carbonate production and accumulation. The difference between
production and accumulation is taken as an estimate for dissolution (after Milliman 1993, Milliman and Droxler 1996,
Vescei 2004). All numbers labeled with ? are supposed to have an possible error of greater than 100 %.

Habitat Area     CaCO3 Production Accumulation Dissolution/Erosion
( · 106 km 2) (g m 2 yr-1) (1012 m ol yr-1) (1012 m ol yr-1) (1012 m ol yr-1)

Shallow  w aters:
Coral Reefs 0.35 1800 9 7 2

Platforms 0.8 500 4 2 2

Shelves:

Carbonate-poor 15 25 ? 4 ? 1 ? 3 ?

Carbonate-rich 10 20-100 ? 6 ? 3 ? 3 ?

Halimeda  bioh. 0.05 ? 3000 ? 1.5 ? 1.5 ?

Total
Shallow -w ater carbonates 24.5 14.5 10

Deep Sea:
Slopes 32 15 5 4 1
(im proved  3.5 ? 2 1.5
from  shelfes )

Pelagic Surface 290 23 60-90
W aters

(Flux at 1000m 8 24 36 ? )*

Sea floor 11-19 5-13
(in the deep waters

& surficial sedim ents )

Total
Deep-sea carbonates 68.5-90 ? 17-25 51.5-67

* Problem of  very low  f luxes at 1000 m w ater depth estimated f rom sediment trap data.
  Implies very high dissolution rates above the lysocline.
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production should at least exceed 20 g m-2yr-1

which is the average value of planktonic produc-
tion in coastal waters. While global carbonate pro-
duction on carbonate-poor shelves may be rela-
tively high (4⋅1012 mol yr-1; Milliman and Droxler
1996), carbonate accumulation in this environment
is negligible.

The rate of total neritic carbonate production in
the modern ocean is roughly 25⋅1012 mol yr-1 from
which 60 % (15⋅1012 mol yr-1) accumulate as shallow-
water carbonates. The difference, 10⋅1012 mol yr-1, is
the contribution of the neritic environment to the
pelagic environment, either in the form of flux of
total dissolved inorganic carbon or particulate ac-
cumulation on continental slopes and in the deep
sea.

9.2.2 Pelagic Calcareous Sediments

Calcium carbonate is the most important biogenic
component in pelagic marine sediments which
cover an area of about 320⋅106 km2. Carbonate-rich
sediments (>30 % CaCO3) form about 55 % of the
deposits on the continental slopes and the deep-
sea floor (Lisitzin 1996; Milliman 1993). A new
compilation on the distribution of carbonate-rich
pelagic sediments (Fig. 9.2b) has been recently
carried out by Archer (1996a).

The distribution of pelagic marine carbonates
is a result of a variety of influences. The most im-
portant components of the pelagic carbonate sys-
tem affecting their formation and destruction are
shown in Figure 9.2b. These can be divided in ex-
ternal contributions such as riverine input and
CO2-exchange with the atmosphere and the lithos-
phere (hydrothermal venting), and internal pro-
cesses. The main internal processes are those by
which CaCO3 is produced and dissolved in the
ocean. In the pelagic realm carbonate is mainly
produced by planktonic organisms in ocean sur-
face waters supersaturated with calcite and arago-
nite. Production of biogenic calcite or aragonite
comes from planktonic organisms like coccolitho-
phorids, foraminifers and pteropods, as well as
calcareous dinoflagellates. The amount of the to-
tal production is determined by temperature, light,
and nutrient-conditions in the surface ocean. On
upper slopes, where food supply is high, part of
the carbonate production also originates from
benthic foraminifera and small mollusks. Estimates
of the global calcium carbonate production by
pelagic organisms are difficult to assess, because
the amount of production per unit of water volume

or area cannot be directly measured. In addition,
according to sparse data available from plankton
hauls and shallow floating trap catchments they
vary significantly between oligotrophic and eutro-
phic, and particularly between silicon-poor and sili-
con-rich surface waters (Fischer et al. 2004). Mean
global estimates are either derived from sediment
trap fluxes at about 1000 m water depth (Milliman
1993) or from theoretical approaches in which the
production required to explain the observed water-
column profiles of alkalinity and total dissolved
inorganic carbon (Fig. 9.3) is calculated, taking the
modern ocean circulation pattern and residence
times of the different water masses into account.
However, these estimates differ by a factor of two
to three, whereby the sediment trap data and
surface-water properties suggest a mean global
calcium carbonate production of 23 or 60 to 90⋅1012

mol yr-1, respectively (see comments and dis-
cussion in Morse and Mackenzie 1990; Milliman
and Droxler 1996; Wollast 1994).

How much of the carbonate produced in the
surface ocean finally accumulates on the sea floor
and is buried there, depends on the calcite disso-
lution in the water column during the settling of
particles and on the calcite dissolution within the
sediment. For slope sediments also dilution with
sedimentation of terrigeneous material affects the
carbonate content. Dissolution of pelagic car-
bonates is driven by the aragonite and carbonate
saturation levels in the deep-sea, controlled by
temperature and pressure conditions, as well as
by pH and alkalinity of circulating deep-water
masses (Berger 1976; Broecker and Peng 1982).
On its way to the deep sea the settling biogenic
carbonate reaches waters which are increasingly
undersaturated with respect to aragonite and
later calcite, due to the decrease in temperature,
increases of pressure, and the latter CO2
resulting from the reoxidation of organic matter.
Increase of CO2 due to benthic respiration also
affects CaCO3 which reaches the sea floor. Early
diagenesis forces calcite dissolution in the upper
sediment column even at supralysoclinal and
lysoclinal water depths due to excess pore water
CO2 originating from remineralization of
sedimentary organic matter (Archer 1991, 1994;
Jahnke et al. 1994; Martin and Sayles 1996). The
latter will be discussed in more detail in Section
9.4. Moreover, the ocean’s circulation also
changes the depth distribution of water masses
with different saturation levels of aragonite and
calcite. As a consequence, only a small fraction
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Fig. 9.2 Environments of pelagic carbonate deposition: a) deep-sea distribution of carbonate-rich sediments (new compi-
lation from Archer 1996a) and b) factors controlling pelagic carbonate production and dissolution (modified from Morse
and Mackenzie 1990).
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(15 to 20 %; see Table 9.1, or Archer 1996b,
Wollast 1994) of the total amount of pelagic
carbonates produced in the upper ocean is
buried in deep-sea sediments. Different estimates
for mean global calcium carbonate accumulation
rates from various authors (Milliman 1993; Morse
and Mackenzie 1990; Wollast and Mackenzie
1987) are in good agreement for the deep sea, all
ranging between 10⋅1012 mol yr-1 and 12⋅1012 mol
yr-1 (1 to 1.2 bt CaCO3 yr-1).

Essentially all the above mentioned factors
have the potential to change the calcite-carbonate
equilibrium in the ocean over time and thus exert
major control on the distribution and amount of
calcareous sediments in the deep sea. On the
other hand, given the 60 times greater carbon res-
ervoir of the ocean compared to that of the atmo-
sphere, changes in the oceanic calcite-carbonate
equilibrium can modify the oceanic CO2 uptake/re-
lease balance with respect to the atmosphere (Ar-
cher and Maier-Reimer 1994; Berger 1982; Broecker
and Peng 1987; Maier-Reimer and Bacastow 1990;
Opdyke and Walker 1992; Siegenthaler and Wenk

1984; Wolf-Gladrow 1994; see also review in Dittert
et al. 1999). Therefore, the principles of the calcite-
carbonate system will be re-examined in the
following Section 9.3 and examples will be given for
modeling this system under specific boundary
conditions typical for the modern ocean. As we
know from the geological record of calcareous
sediment distribution, this system has changed
dramatically in the past and definitely will change in
the future, leaving us with the questions of how
much, how fast and in which direction the ocean
carbonate system will respond to anthropogenic
disturbances of the carbon cycle in the future, which
may result in a more acid ocean (Feely et al. 2004, Orr
et al. 2005).

9.3 The Calcite-Carbonate-
Equilibrium in Marine Aquatic
Systems

The calcite-carbonate-equilibrium is of particular
importance in aquatic systems wherever carbon
dioxide is released into water by various pro-
cesses, and wherever a concurrent contact with
calcite (or other carbonate minerals) buffers the
system by processes of dissolution/precipitation.
Carbon dioxide may either originate from the gas-
eous exchange with the atmosphere, or is formed
during the oxidation of organic matter. In such a
system this equilibrium controls the pH-value - an
essential system parameter which, directly or
indirectly, influences a number of secondary pro-
cesses, e.g. on iron (cf. Chap. 7) and on manga-
nese (cf. Chap. 11). In the following, the calcite-
carbonate equilibrium will be described in more
detail and with special attention given to its rel-
evant primary reactions.

The description of Sections 9.3.1 and 9.3.2 will
assume in principle a solution at infinite dilution
in order to reduce the system to really important
reactions. The Sections 9.3.3 and 9.3.4 provide
examples calculated for seawater, including all
constituents of quantitative importance. In such
calculations, two different approaches are pos-
sible:

The use of measured concentrations (calcium,
carbonate, pH) together with so-called 'apparent'
equilibrium constants. These apparent constants
(e.g. Goyet and Poisson 1989; Roy et al. 1993;
Millero 1995) take the difference between activi-
ties and concentrations into account, as well as
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the fact, that for instance only part of the mea-
sured calcium is present in the form of Ca2+-ions,
whereas the rest forms complexes or ion pairs
(CaSO4

0
aq, CaHCO3

+
aq, or others). This is true for

seawater, since the activity coefficients of these
complexes or ion pairs with sufficient accuracy
exert a constant influence.

The other approach employs a geochemical
computer model, such as PHREEQC (Parkhurst
1995; also Chap. 15) with an input of a complete
seawater analysis. Such a model will then calcu-
late the activity coefficients and the species distri-
bution of the solution according to the complete
analysis and the constants of the thermodynamic
database used. These constants are well known
with an accuracy which is usually better than the
accuracy of most of our analyses at least for the
major aquatic species. Together with the 'real' con-
stant of the solubility product a reliable saturation
index (SI = log Ω) is then calculated. The
constants of solubility products are not accu-
rately known for some minerals, but for calcite,
and also for most other carbonates, these con-
stants and their dependence on temperature and
pressure are very well documented.

Both approaches used in the analysis of
seawater lead to identical results, thus leaving it
undetermined which method should be preferred
for seawater analysis. However, for marine pore wa-
ter the first approach is not valid, since quite
different concentrations of complexes or ion pairs
are likely to occur, for instance, sulfate reduction
and/or an increase of alkalinity. Therefore we rely
on the second approach in our examples and
strongly recommend it for the marine geochemistry.

9.3.1 Primary Reactions of the Calcite-
Carbonate-Equilibrium with
Atmospheric Contact in Infinitely
Diluted Solutions

Upon making contact with the atmosphere, the
partial pressure (pCO2) of carbon dioxide (CO2,g)
determines the concentration of carbonic acid
(H2CO0

3,aq) in solution. The equilibrium reaction is
written as:

CO2,g + H2O ⇔ H2CO3
0
aq (9.1)

The equilibrium is determined by the equation:

KCO2 = [H2CO3
0
aq] / {pCO2 · [H2O]} = 3.38E-2

(25°C, 1 atm) (9.2)

In this form the reaction combines two
different steps: One leads to the formation of
CO2,aq in aqueous solution, and a second leads
from CO2,aq to the formation of H2CO3

0
aq. The

brackets [...] denote activities, whereas paren-
theses embrace molar concentrations. The
activity of water [H2O] is equal to 1.0 in infi-
nitely diluted solutions, whereas it is slightly
less in seawater (0.981). The value of the con-
stant KCO2 – as for all other constants in the
following – is determined at a temperature 25°C
and under a pressure of 1 atm. The temperature
dependency of the constants was empirically
investigated by Plummer et al. (1978) for the
range between 5°C and 60°C. The computer
program PHREEQC (Parkhurst 1995) also
accounts for this temperature dependence. The
pressure dependence, which is important in
great water depths, is considered only in the
model SOLMINEQ (Kharaka et al. 1988). The
constants belonging to this program, corrected
for specific water depths, can be extracted and
explicitly entered into the database of the
generally more versatile model PHREEQC.

The aqueous complex H2CO3
0

aq dissociates into
protons and bicarbonate ions:

H2CO3
0
aq ⇔ H+ + HCO3

- (9.3)

This equilibrium is described by the equation:

KH2CO3 = {[H+] · [HCO3
-]} / [H2CO3

0
aq] = 4.48E-7

(25°C, 1 atm) (9.4)

The second step of dissociation is determined by:

HCO3
- ⇔ H+ + CO3

2- (9.5)

This equilibrium is described by the equation:

KHCO3 = {[H+] · [CO3
2-]} / [HCO3

-] = 4.68E-11
(25°C, 1 atm) (9.6)

Furthermore, the dissociation of water needs to be
included:

H2O ⇔ H+ + OH- (9.7)

with the constant KH20:

KH2O = [H+] · [OH-] = 1.00E-14
(25°C, 1 atm) (9.8)
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The contact made by processes of dissolution
and precipitation with the solid phase of calcite is
described by the reaction:

CaCO3,calcite ⇔ Ca2+ + CO3
2- (9.9)

The equilibrium is described by the equation:

Kcalcite = [Ca2+] · [CO3
2-] = 3.31E-9

(25°C, 1 atm) 9.10

Another essential condition for describing the
calcite-carbonate-equilibrium consists in the ful-
fillment of the neutral charge rule. This holds that
charges may be neither lost nor gained on reach-
ing the equilibrium state.

The balance of the charges is done indirectly
on the basis of the ions that are the carriers of
these charges. Therefore, calculations must con-
sider divalent ions twice:

2 (Ca2+) + (H+) = (OH-) + (HCO3
-) + 2 (CO3

2-)
(9.11)

It should be noted that the parentheses (...) in
this charge balance represent molar concentra-
tions, since the chemical activities are not of im-
portance here, instead the really existent amounts
of the substances and their charges. Equation 9.11
describes in a simplified form the conditions in
which the equilibrium state is reached starting
from pure water. Only in this case all final concen-
trations produce charges equal to zero in the
balance.

In an impure system, any initial concentration
(...)i or initial activity [...]i may be present. In this
context, the index 'i' stands for 'initial'. On the ba-
sis of these concentrations, those reached on at-
taining the final equilibrium state (...)f or [...]f will
then have to be sought for. The index 'f' in this
case stands for 'final'. The statement as to the
charge balance made in Equation 9.11 is not ac-
complished by observing the total concentration
of each reactant, but by the difference between
'initial' to 'final'. The generalized case described in
Equation 9.12 resumes the condition of Equation
9.11 in which all initial concentrations are set to
zero (pure water).

2 (Ca2+)f – 2 (Ca2+)i + (H+)f – (H+)i =
(OH-)f  – (OH-)i + (HCO3

-)f  – (HCO3
-)i +

2 (CO3
2-)f – 2 (CO3

2-)i (9.12)

In a system following this description, the so-
lution for all six variables (Ca2+), (H+), (OH-),
(H2CO3

0), (HCO3
-), (CO3

2-) is sought for the condi-
tion of a final equilibrium state determined by the
Equations 9.2, 9.4, 9.6, 9.8, 9.10, and 9.12. It should
be noted that in Equations 9.2, 9.4, 9.6, 9.8, and
9.10 the activities written in brackets [...] are to be
understood as final activities [...]f, which are prod-
ucts of an activity coefficient and the single con-
centrations in equilibrium (...)f (cf. Eq. 15.2 in Sect.
15.1.1). For a system at infinite dilution, however,
these activity coefficients are 1.0, and thus concen-
trations are (...) equal to activities [...].

The system of six non-linear equations with six
unknown variables can be solved mathematically
for (H+)f by inserting the equations into each
other until only constants, initial concentrations
(...)i, and pCO2 describe the complete equation.
This way of solving the problem leads to a cubic
equation for which an analytical solution exists. In
practice, however, this strategy is irrelevant, since
such a set of equations cannot be analytically
solved for other boundary conditions (e.g. a sys-
tem which is closed with respect to CO2, having
no contact with the atmosphere) or if more con-
stituents are included (e.g. complex species like
CaHCO3

+
aq or CaCO3

0
aq). In such a case, it must be

solved by an iteration process, as will be de-
scribed in the succeeding section. The application
of spreadsheet calculation programs make such an
iterative solution easy to find by pursuing the
procedures below:

First, the concentration of (H2CO3
0)f is calcu-

lated on the basis of the given pCO2 using Equa-
tion 9.2

Then, the pH-value of the equilibrium is esti-
mated. For a first approximation, the pH-value de-
rived from the 'initial' concentration of (H+)i may be
used. But any other pH-value, for instance pH 7,
is permitted as well.

With this pH-value, the concentrations of (H+)f
and (OH-)f are calculated using Equation 9.8.

Successively, (HCO3
-)f and (CO3

-)f are calcu-
lated using the Equations 9.4 and 9.6 and the val-
ues so far determined. The concentration of (Ca2+)f
is obtained from Equation 9.12.

Now the saturation index (SIcalcite) can be calcu-
lated with Equation 9.10 (cf. Eq. 15.1 in Sect.
15.1.1). If the saturation index equals zero, then
the estimation of the pH-value in equilibrium, as
mentioned in step 2, has been correct, as well as
all other equilibrium concentrations (...)f calculated
in steps 3 and 4. If the saturation index (SIcalcite) is

9.3 The Calcite-Carbonate-Equilibrium in Marine Aquatic Systems
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not equal to zero with sufficient accuracy, the
estimation for the pH in step 2 will have to be
improved until the correct value is found.

Irrespective whether a solution to this system
is found in the iterative manner described, or
whether it is solved by finding an analytical solu-
tion of the cubic equation, the pH-value of the
equilibrium is at all times determined by the partial
pressure pCO2 in the atmosphere. As it remains in
contact with the solution, such a system is
referred to as open to CO2. It is characteristic of
such systems that the reactions can cause the re-
lease of CO2 into the atmosphere at any time and
that CO2 can be drawn from the atmosphere with-
out directly affecting total atmospheric pCO2.

9.3.2 Primary Reactions of the Calcite-
Carbonate-Equilibrium without
Atmospheric Contact

A system which is closed to CO2 exists wherever
the final calcite-carbonate-equilibrium is reached
without any concurrent uptake or release of atmo-
spheric CO2 in its process. This implies that the
Equations 9.1 and 9.2 are no longer valid. In their
stead, a balance of various C-species is related to
calcium. This balance maintains that the sum of C-
species must equal the calcium concentration in
solution, since both can enter the solution only
by dissolution of calcite or aragonite:

(Ca2+) = (H2CO3
0) + (HCO3

-) + (CO3
2-) (9.13)

Analogous to Equations 9.11 and 9.12, Equa-
tion 9.13 is only valid if the initial solution con-
sists of pure water. In the normal case, in which
the solution will already contain dissolved car-
bonate- and/or calcium ions, the difference be-
tween equilibrium concentrations (...)f and the ini-
tial concentrations (...)i needs to be regarded:

(Ca2+)f  – (Ca2+)i =
(H2CO3

0)f – (H2CO3
0)i + (HCO3

-)f –
(HCO3

-)i + (CO3
2-)f – (CO3

2-)i (9.14)

The six Equations 9.4, 9.6, 9.8, 9.10, 9.12, and
9.14 must now be solved for the six variables
(Ca2+), (H+), (OH-), (H2CO3

0), (HCO3
-), (CO3

2-).
There is no analytical solution for this non-linear
equation system. If there were one, it would be ir-
relevant because an iterative solution, similar to
the one described in the previous section, would
always be easier to handle and besides be more

reliable. However, still independent of the method
of mathematical solution is the fact that the equi-
librium is exclusively determined by the carbonate
concentration which the system previously con-
tained and which is defined by the concentrations
(...)i. At this particular point, the amount of CO2
would also have to be considered which is liber-
ated into such a system, e.g. from the oxidation of
organic matter. This amount would be simply
added to the 'initial' concentrations and would
influence the equilibrium in the same way as the
pre-existing carbonate.

9.3.3 Secondary Reactions of the Calcite-
Carbonate-Equilibrium in Seawater

In seawater, the differences between activities and
concentrations must always be considered (cf.
Sect. 15.1.1). The activity coefficients for monova-
lent ions in seawater assume a value around 0.75,
for divalent ions this value usually lies around 0.2.
In most cases of practical importance, the activity
coefficients can be regarded with sufficient
exactness as constants, since they are, over the
whole range of ionic strengths in solution,
predominately bound to the concentrations of
sodium, chloride, and sulfate which are not di-
rectly involved in the calcite-carbonate-equilib-
rium. The proportion of ionic complexes in the
overall calcium or carbonate content can mostly
be considered with sufficient exactness as con-
stant in the free water column of the ocean. Yet,
this cannot be applied to pore water which fre-
quently contains totally different concentrations
and distributions of complex species due to diage-
netic reactions.

Figure 9.4 shows the distribution of carbonate
and calcium species in ocean water and in an an-
oxic pore water, calculated with the program
PHREEQC (Parkhurst 1995). It is evident that
about 10 % of total calcium is prevalent in the
form of ionic complexes and 25 – 30 % of the total
dissolved carbonate in different ionic complexes
other than bicarbonate. These ionic complexes are
not included in the equations of Sections 9.3.1
and 9.3.2. Accordingly, the omission of these
complexes would lead to an erraneous calculation
of the equilibrium. The inclusion of each complex
shown in Figure 9.4 implies further additions to
the system of equations, consisting in another
concentration variable (the concentration of the
complex) and a further equation (equilibrium of the
complex concentration relative to the non-



321

complexed ions). If only the ion complexes shown
in Figure 9.4 are added, as there are (MgHCO3

+),
(NaHCO3

0), (MgCO3
0), (NaCO3

-), (CaHCO3
+),

(CaCO3
0), and (CaSO4

0), the system would
consequently be extended to 6+7=13 variable
concentrations and just as many non-linear
equations. Such a system of equations is solvable
with the aid of an appropriate spread-sheet calcu-
lation program, however, that would be certainly
not reasonable and would also be more laborious
than using an equilibrium model of the PHREEQC
type (Parkhurst 1995). Function and application of
PHREEQC are described in Section 15.1 in more
detail. In the following section, some calculation
examples with regard to carbonate will be
presented.

9.3.4 Examples for Calculation of the
Calcite-Carbonate-Equilibrium in
Ocean Waters

Here, exemplary results will be introduced which
were obtained from model calculations of the cal-

cite-carbonate-equilibrium under applied boundary
conditions close to reality. To this end, the model
PHREEQC (Parkhurst 1995) has been used. The
chemical composition of the solution studied in
these examples is based on analytical data pub-
lished by Nordstrom et al. 1979 (cf. Table 15.1).

In the first example shown in Table 9.2, a
warm (25°C) water from the ocean’s surface
(1 atm) has been modeled. In the zone near the
equator, where this water sample had been taken,
carbon dioxide partial pressures of 400 µatm
(equivalent to a pCO2 of 0.0004 atm or a log pCO2
of -3.40) have been measured which is somewhat
higher than the corresponding atmospheric value.
This sample of ocean water thus displays a CO2-
gradient directed towards the atmosphere and
therefore continually releases CO2 into the atmo-
sphere. This situation is accounted for in the model
by pre-setting pCO2 to 0.0004 atm as an open
boundary condition with regard to CO2. Accord-
ingly, a state of supersaturation ensues equivalent
to a SIcalcite value of 0.77 or an Ωcalcite value of 5.9.
Such a supersaturation state is, according to the

MgHCO3
+

CO3
2-

NaHCO3

MgCO3

NaCO3
-

CaHCO3
+

CaCO3

HCO3
-

HCO3
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NaHCO3
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others

Ca2+

Ca2+

CaSO4
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c) d)

Fig. 9.4 Distribution of carbonate species (a and c) and calcium species (b and d) in seawater after Nordstrom et al.
1979 (a and b) and in an anoxic pore water (c and d). The pore water sample was extracted from the core previously
shown in Figure 3.1 and was taken from a depth of 14.8 m below the sediment surface. The calculation of species
distributions was performed with the program PHREEQC (Parkhurst 1995)
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analytical evidence, obviously permanent by its
nature, due to the processes in the surface-near
ocean water and the fluxes across the interface
ocean/atmosphere. The model results for a theoreti-
cal precipitation of calcite describing the state of
calcite-carbonate-equilibrium (SIcalcite = 0.0) are
shown in the lower part of Table 9.2.

In the model calculation presented in Table 9.3,
the constant of the solubility product of calcite
was adjusted to temperature (6°C) and pressure
(100 atm) relative to a depth of about 1000 m.
Therefore, the pressure-corrected constant de-
rived from the model SOLMINEQ (Kharaka et al.
1988) was entered into the database of the model
PHREEQC, and the correction procedure for tem-
perature integral to this model was used. Further-
more, an organic substance which also contained
nitrogen and phosphorus in a C:N:P ratio of
106:16:1 (Redfield 1958), was decomposed down to
a low residual concentration of dissolved oxygen.
The calculation was then run under conditions

closed to CO2, i.e. concentrations of the previous
example from Table 9.2 were regarded as 'initial'.
The partial pressure pCO2 in this case no longer
represents a fixed boundary condition, but has
now become a model output. The calcite-carbon-
ate-equilibrium was kept at a constant state of
supersaturation (SIcalcite = 0.26) throughout all
steps of the model calculation.

In the next example outlined in Table 9.4, a cold
(2°C), surface-near (1 atm) ocean water sample has
been modeled. In zones of high latitudes, where
this water type occurs, a partial pressure of 280
µatm has been measured (equivalent to a pCO2 of
0.00028 atm or a log pCO2 of –3.55) which is
somewhat lower than determined in the
atmosphere. Here, the atmosphere displays a CO2-
gradient directed toward the ocean into which CO2
is continually taken up.

This situation is accounted for in the model by
pre-setting pCO2 to 0.00028 atm, the boundary con-
dition of a system open with regard to CO2. Accord-

Table 9.2 Model calculation using the PHREEQC program (Parkhurst 1995) on a sample of warm surface water from
the ocean near the equator. The lower part of the table shows the results for a theoretical (SIcalcite = 0.0) precipitation
of calcite.

Model of warm surface seawater

input concentrations:

dissolved constituents from Nordstrom et al. 1979, cf. Tabel 15.1

boundary conditions:

temperature  25 °C
pCO2  400 µatm (i.e. log pCO2 = -3.40)
log k calcite -8,48 (at 25 °C and 1 atm pressure)

input situation w ithout ca lcite-carbonate-equilibrium:

pH 8,24
sum of carbonate species (TIC) 2.17 mmol/l
sum of calcium species 10.65 mmol/l
SIcalc ite 0,77 (i.e. Ωcalcite = 5.9)

reactions:

calcite-carbonate-equilibrium constant at SI = 0.0

PHREEQC model results:

pH 7,50
sum of carbonate species (TIC) 1.92 mmol/l
sum of calcium species 10.40 mmol/l
SIcalc ite 0,00 (i.e. Ωcalcite = 1.0)
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ingly, a state of supersaturation ensues equivalent
to a SIcalcite value of 0.43 or an Ωcalcite value of 2.7.
As a theoretical example (lower part of Table 9.4)
for the modeling in this case a constant state of
supersaturation according to a SIcalcite value of 0.50
or an Ωcalcite value of 3.2 was calculated.1

In the calculated model summarized in Table
9.5, the equilibrium constants for calcite was
adjusted to temperature (2°C) and pressure (600
atm) of a water depth of about 6000 m. In this ex-
ample as well, the pressure-corrected constant
derived from the model SOLMINEQ (Kharaka et

al. 1988) was entered into the database of the
model PHREEQC, and the correction procedure
for temperature of this model was used.
Calculation was run under the boundary
conditions of a system closed with regard to CO2,
i.e. the concentrations of the previous example in
Table 9.4 were regarded as 'initial'. The partial
pressure pCO2 is not a fixed boundary condition
of an open system, and it did not change as in
the example shown in Table 9.3, since no
reactions were determined. A comparable
decomposition of organic matter as in Table 9.3
was thus excluded from this example. After
pressure-correction, the saturation index of
calcite documents an undersaturation displaying
a value of –0.16 (equivalent to a Ωcalcite value of
0.69). In the case of an additional decomposition
of organic matter, this undersaturation of calcite
is likely to increase further. Such a reaction could
be in fact applicable to deep-sea waters of
pelagic deep ocean areas.

Model of low latitude seawater at 1000 m depth

input concentrations:
model calculation of warm surface seawater

boundary conditions:

temperature 6 °C
log k calc ite -8.26 (at 6 °C and 100 atm pressure)

input situation without calcite-carbonate-equilibrium:

pH 8.08
sum of carbonate species (TIC) 2.26 mmol/l
sum of calc ium species 10.61 mmol/l
Sicalc ite 0.26 (i.e. Ω c alc ite = 1.8)

reactions:

(CH2O)106(NH3)16(H3PO4) reacts with dissolved O2

calc ite supersaturation constant at SI = 0.26

PHREEQC model results:

pH 8.01
sum of carbonate species (TIC) 2.60 mmol/l
sum of calc ium species 10.79 mmol/l
Sicalc ite 0.26 (i.e. Ω c alc ite = 1.8)

Table 9.3 Model calculation applying the computer program PHREEQC (Parkhurst 1995) to a sample of ocean water in
a water depth of approximately 1000 m, near the equator. The constant of the solubility product for calcite is corrected
for temperature and pressure. The decomposition of organic substance due to the presence of free oxygen in the water
column has been included.

9.3 The Calcite-Carbonate-Equilibrium in Marine Aquatic Systems

1 Ωcalcite is still in use in chemical oceanography for de-
scribing the state of saturation. It corresponds to the
saturation index without the logarithm, hence: log
Ωcalcite = SIcalcite. However, the SI value is more useful,
since the same amounts of undersaturation and super-
saturation respectively display the same SI values,
only distinguished by different signs (+) for supersatu-
ration and (-) for undersaturation. A SI value of zero
describes the state of saturation.
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9.4 Carbonate Reservoir Sizes
and Fluxes between
Particulate and Dissolved
Reservoirs

Present-day production of calcium carbonate in the
pelagic ocean is calculated to be in the order of 6 to
9 billion tons (bt) per year (60-90⋅1012 mol yr-1), from
which about 1.1 to 2 bt (11 to 20⋅1012 mol yr-1)
accumulate in sediments (Tables 9.1 and 9.6). To-
gether with the accumulation in shallow waters of
14.5⋅1012 mol yr-1 (Table 9.1, Fig. 9.5), the total car-
bonate accumulation in the world ocean amounts to
3.5 bt per year. This latter number is twice as much
calcium as is brought into the ocean by rivers and
hydrothermal activity (1.6 bt, Wollast 1994).
Wollast (1994) and Milliman and Droxler (1996)

therefore consider the carbonate system of the
modern ocean to be in non-steady state conditions,
because production is not equal to the input of
Ca2+ and HCO3

- by rivers and hydrothermal vents
(Fig. 9.5). Consequently, the marine carbonate sys-
tem is at a stage of imbalance, or the output con-
trolled by calcite sedimentation or input conveiled
by dissolution has been overestimated or underes-
timated, respectively. On the other hand, one or
more input sources may have been not detected so
far. Published calcium carbonate budgets vary
strongly, because the various authors have used
different data sets and made different assumptions
with respect to the production and accumulation of
carbonates (e.g. Table 9.6), as well as for the
sources of dissolved calcium and carbonate in ma-
rine waters (see summaries in Milliman 1993;
Milliman and Droxler 1996; Wollast 1994).

Table 9.4 Model calculation applying the computer program PHREEQC (Parkhurst 1995) to a sample of cold surface
water of the ocean from higher latitudes. The constant of the solubility product for calcite is accordingly corrected for
temperature.

Model of cold surface seawater

input concentrations:

dissolved constituents from Nordstrom et al. 1979, cf. Tabel 15.1

boundary conditions:

temperature  2 °C
pCO2  280 µatm (i.e. log pCO2 = -3.55)
log k calcite -8,34 (at 2 °C and 1 atm pressure)

input situation without calcite-carbonate-equilibrium:

pH 8,23
sum of carbonate species (TIC) 2.28 mmol/l
sum of calcium species 10.63 mmol/l
SIcalcite 0,43 (i.e. Ωcalcite = 2.7)

reactions:

calcite supersaturation constant at SI = 0.50

PHREEQC model results:

pH 8,30
sum of carbonate species (TIC) 2.30 mmol/l
sum of calcium species 10.65 mmol/l
SIcalcite 0,50 (i.e. Ωcalcite = 3.2)
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9.4.1 Production Versus Dissolution
of Pelagic Carbonates

This chapter summarizes the most recent compila-
tions of carbonate reservoir size in the ocean and
sediments, as well as the particulate and dissolved
fluxes (Fig. 9.5) provided by the above mentioned
authors. Coral reefs are probably the best docu-
mented shallow-water carbonate environment.
Carbonate production on reef flats range as high
as 10.000 g CaCO3 m

-2yr-1, with a global mean of
about 1800 g CaCO3 m

-2yr-1. Totally this amounts
to 24.5⋅1012 mol yr-1 (Table 9.1) from which 14.5⋅1012

mol yr-1 accumulate and 10⋅1012 mol yr-1 are
transported to the deep-sea either by particulate
or dissolved export. One of the most uncertain
numbers in all these budget calculations are the
estimates of the global carbonate production in

the open ocean. Milliman’s (1993) estimate was
only about 24⋅1012 mol yr-1, based on carbonate
flux rates at about 1000 m water depth, measured
by long-term time series of sediment trap moor-
ings, which is approximately 8 g CaCO3 m-2yr-1

accounting for a global flux rate of particulate pe-
lagic carbonate to be in the range of 24⋅1012 mol yr-1.
However, as discussed in Wollast (1994), in order
to produce the measured water column profiles of
total inorganic carbon and carbonate alkalinity
(Fig. 9.3) a much higher surface ocean carbonate
production is required. Thus estimates reported
more recently are in the order of 60 to 90⋅1012 mol yr-1

(Table 9.6). The discrepancy between the very
high global production rates and measured fluxes
obtained in sediment traps then can only be
explained if one accepts that a substantial portion
(30 to 50 %) of carbonate produced in the pelagic

Model of seawater at 6000 m depth

input concentrations:
model calculation of cold surface seawater

boundary conditions:
temperature  2 °C
pCO2  280 µatm (i.e. log pCO2 = -3.55)
log k calcite -7.75 (at 2 °C and 600 atm pressure)

input situation without calcite-carbonate-equilibrium:
pH 8.23
sum of carbonate species (TIC) 2.28 mmol/l
sum of calcium species 10.63 mmol/l
Sicalcite 0.43 (i.e. Ωcalcite = 2.7)

no reactions, but pressure changed to 600 atm

PHREEQC model results:
pH 8.23
sum of carbonate species (TIC) 2.28 mmol/l
sum of calcium species 10.63 mmol/l
Sicalcite -0.16 (i.e. Ωcalcite = 0.7)

Table 9.5 Model calculation using the computer program PHREEQC (Parkhurst 1995) on deep-sea waters of the
ocean. The constant of the solubility product for calcite is accordingly corrected for temperature and pressure. A com-
parable decomposition of organic matter as contained in Table 9.3 was excluded in this example.

9.4 Carbonate Reservoir Sizes and Fluxes Between Particulate and Dissolved Reservoirs
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ocean is already dissolved in the upper 1000 m of
the ocean. On the other hand, if calcite
dissolution above lysocline depths due to benthic
respiration of organic matter (e.g. Emerson and
Bender 1981; see also discussion and references
below) is much higher as previously thought, then
the fraction of pelagic carbonate production
which reaches the sea floor prior to benthic
respiration maybe in the order of 50 to 70 % and
not only about 20 % as given in Table 9.6 for the

more recent budget estimates. According to
Archer (1996b) 20-30 % of the carbonate flux to
the sea floor finally escapes dissolution. If this is
correct, it would require a much less total
carbonate production in the surface ocean (in the
order of the estimate of Milliman (1993); see Table
9.6), to maintain measured water column profiles of
alkalinity and total dissolved inorganic carbon, as
well as 11⋅1012 mol yr-1 of pelagic carbonate sedi-
mentation. To solve the problem whether high

Fig. 9.5 Production, accumulation and fluxes of marine inorganic carbon (in x 1012 mol yr-1) in the modern ocean,
summarizing production, accumulation, and fluxes of particulate inorganic carbon, as well as carbonate dissolution rates
as given in Table 9.1 (modified after Milliman and Droxler 1996, Wollast 1994).

Table 9.6 Comparison of carbonate rain, accumulation and dissolution estimates for the pelagic ocean (all values in 1012 mol yr-1).

Author Pelagic Burial Dissolution Burial fraction
Production of Production

Milliman (1993) 24 11 12 47%

Milliman & Droxler (1996) 60 11 13 18%
36 already at 1000 m, Table 9.1,

w ith about 6 f rom sediments
above the hydrogr. lysocline

(Hensen et al. 2003).

Wollast (1994) 65 11 54 18%

Archer (1994) 86 19 67 22%
(as cited in Archer 1996b, Fig. 12)
Hensen et al. (2003) 22-81
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values of alkalinity and total dissolved inorganic
carbon in intermediate and deep waters are the re-
sult of dissolving calcite particles settling through
the water column, or of sedimentary dissolution
above the lysocline, would require better know-
ledge of the total amount of calcite production in
the surface ocean and of the dissolution rates in
the sediment. While the first is very difficult to
measure, the second may be reached by improving
data sets of inorganic carbon flux rates from the
sediment to ocean at intermediate and deep water
levels. The next Section 9.4.2. describes the ap-
proach of estimating the fluxes of total carbon and
inorganic carbon resulting from calcite dissolution
in more detail.

9.4.2 Inorganic and Organic Carbon
Release from Deep Sea Sediments

Although only a small fraction of carbon arriving
at the seafloor is finally buried, over geological
time scales deep sea sediments have formed the
largest reservoir of carbon on earth mainly
consisting of biogenic carbonates (~50 Mio. Gt)
and organic detritus (~12 Mio. Gt; i.e. de Baar &
Suess, 1993). This huge storage potential of
marine carbonates is a major factor for maintaining
reasonably low atmospheric CO2-levels in earth
history. However, the ratio of accumulation versus
recycling of carbon at the seafloor reflects a
dynamic equilibrium depending on various exter-
nal forcing factors. Hence, the question for the
“how much is being recycled” is an important
issue, but quite difficult to explore.

Diagenetic mineralization and dissolution
processes in deep sea sediments have been
recognized as important control factors and
numerous efforts have been made to estimate the
contribution by benthic reflux to the ocean
budget. The diagenetic reactions are most intense
at the sediment-water interface where the most
labile components become rapidly mineralized.
Hence, this is the place where the determination
between burial and recycling is made. The driving
forces of carbon release from the sediments are
the degradation of organic matter and the
dissolution of calcium carbonate, which are in turn
dependent on the supply by the remnants of
biological production in the surface waters.
However, the dissolution of calcium carbonate in
deep-sea sediments is controlled by two major
factors, the degree of undersaturation of the deep
ocean waters with respect to calcite and aragonite,

and the reaction with carbon dioxide from
respiration processes. Two of the key parameters
are thus, the “rain ratio” (CCaCO3 /CPOC) of the
sinking material and the water depth of final
deposition, above or below the CO3

2- saturation
horizon (lysocline). Because the solubility of
calcium carbonate increases with increasing
pressure, the ocean is usually super-saturated at
shallow to intermediate depths and undersatura-
ted in the deep basins.

Another important effect, which has been
outlined in Chapter 6.2, is the ageing, or better the
respiratory enrichment in CO2 of the deep waters
along the flow path from the North Atlantic to the
North Pacific causing large differences in satu-
ration state above the seafloor in the Atlantic and
the Pacific (Fig. 9.6).

While calcite dissolution below saturation
horizons in the water column can be described by
the equations reported in section 9.3.2., disso-
lution due to CO2 release from organic carbon
respiration is expressed by the following equa-
tions:

9.4 Carbonate Reservoir Sizes and Fluxes Between Particulate and Dissolved Reservoirs

Fig. 9.6 ∆CO3
2- (giving the difference between the satura-

tion concentration of CO3
2- and the ambient concentration of

CO3
2- at a specific depth) based on GEOSECS-data (Takahashi

et al., 1980) of two locations in the Atlantic and the Pacific
ocean. The intersection of the data points with the 0 µM line
denotes the position of the lysocline (from Archer, 1996).



9 Marine Carbonates: Their Formation and Destruction

328

(CH2O)106(NH3)16(H3PO4) + 138 O2 →

        106 HCO3
- + 16 NO3

- + HPO4
2- + 16 H2O + 124 H+

(9.15)

124 CaCO3 + 124 H+ →  124 HCO3
- + 124 Ca2+

(9.16)

where organic matter with Redfield C:N:P ratio is
oxidized and the produced acid is neutralized by
sedimentary calcium carbonate.

Carbonate dissolution induced by metabolic
processes in deep-sea sediments has been neg-
lected for a long time. Emerson and Bender (1981)
were about the first who explicitly stated that the
degradation of organic matter may significantly
drive calcite dissolution, and hence, affect the
preservation of calcium carbonate in deep-sea
sediments even above the lysocline. A number of
subsequent studies has identified this problem
and generally focused on the differentiation
between calcium carbonate dissolution by
undersaturation of bottom waters and organic
matter remineralization. These studies specifically
considered the dissolution kinetics of calcium
carbonate in deep-sea sediments (i.e. Berelson et
al. 1990; Berelson et al. 1994; Hales and Emerson
1996 and 1997a; Jahnke et al. 1994 and 1997;
Martin and Sayles 1996; Wenzhöfer et al. 2001). It
is very important to understand whether the
dissolution of calcium carbonate is driven by one
or the other process in order to correctly interpret
the accumulation of calcium carbonate in
sediments over time. For example, calcium carbo-
nate preservation at a given site may be reduced
by stronger bottom water undersaturation or the
decrease of the rain ratio by accelerating the
metabolic CO2 release in the sediments. Archer
and Maier-Reimer (1994) demonstrated that a shift
to higher rain ratios could explain both, reduced
pCO2-levels during the last glacial and sedimen-
tary calcium carbonate concentrations in deep-sea
sediments. The calcite dissolution by oxic respi-
ration of organic matter might therefore be able to
mask effects of changes in carbonate productivity
and deep-water chemistry in the sedimentary
carbonate record (Martin and Sayles, 1996).

For a long time it was not possible to calculate
the benthic total carbon dioxide or alkalinity flux
because of artifacts introduced by decompression
processes during core recovery. Moreover there

was no established method for predicting a true
concentration profile or benthic flux (Murray et al.
1980; Emerson and Bender 1981; Emerson et al.
1980; Emerson et al. 1982). What happens during
recovery of cores from some thousand meters of
water depth is that the solubility of CO2 in the
pore water is increasingly reduced due to
decompression and warming. Probably, dependent
on the calcium carbonate content of the sediment
providing nucleation sites, calcium carbonate is
then precipitated from the pore water on the way
through the water column. Calculation of the
diffusive alkalinity flux across the sediment-water
interface from such cores may thus, largely
underestimate the real flux or even suggest a flux
directed into the sediments (cf. chapter 6).

In the last decade, however, in-situ techniques
have been developed to overcome these prob-
lems. Profiling lander systems were deployed to
record the pore water microprofiles of oxygen, pH
and pCO2, and Ca whereas benthic chambers were
deployed to measure solute fluxes across the
sediment-water interface directly. Very often,
reactive-transport models are used to explain the
interrelation between measured microprofiles, to
predict overall calcite dissolution rates by defi-
ning the dissolution rate constants, and to dis-
tinguish between dissolution driven by organic
matter oxidation and by the undersaturation of the
bottom water.

In most of recently published studies, the
calcium carbonate dissolution in seawater and in
pore water of surface sediments is assumed to
follow a kinetic process that can be described by
the equation (Morse 1978; Keir 1980):

Rd = kd (1- Ω)n (9.17)

(9.18a)

(9.18b)

where Rd is the calcite dissolution rate, kd is the
calcite dissolution rate constant, and Ω or SI
describe the degree of saturation (ion activity
product divided by k), and k the solubility
constant of the calcium carbonate species in
question. Mostly, k´ is used instead of k, which is
defined as the apparent solubility constant and is
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related to concentrations instead of activities.
Compilations of apparent solubility constants are
available e.g. by Mehrbach et al. (1973). In several
studies, a further dependence of Rd on the calcium
carbonate content (respectively the surface area)
in the sediment is considered. (for a more detailed
overview of this subject see Zeebe and Wolf-
Gladrow 2000).

The most extensively used reaction order for
modeling calcite dissolution is 4.5 and 4.2 for
aragonite (as suggested by Keir 1980). A more
extensive re-evaluation of this topic has been
provided by Cai et al. (1995). However, the dis-
cussion concerning the “correct” reaction order still
continues. The values of kd reported so far range
over several orders of magnitude from 0.005-0.16 % d-1

(Berelson et al. 1994; Hales and Emerson 1996, 1997a)
up to laboratory values of 10-1000 % d-1 (Keir 1980,
1983)2. The reason for this huge discrepancy is not
clearly known. Important and regionally variable
factors, however, may be the grain size and thus the
surface area of calcium carbonate crystals in the
sediments or adsorbed coatings like phosphate ions
protecting calcium carbonate grains from corrosive
pore waters (Jahnke et al. 1994; Hales and Emerson
1997a). In contrast, Hales and Emerson (1997b)
found evidence that in-situ pH measurements in
pore waters of calcite rich deep-sea sediments are
more consistent with a first-order instead of 4.5th

order dependence. Applied to their data, they re-
wrote Equation 9.17 to

Rd = 38 (1- Ω)1 (9.19)

In contrast, the study of calcite dissolution
kinetics in CaCO3-poor sedi-ments of the
equatorial Atlantic, Adler et al. (2001) again
favored higher reaction orders. In this sense, the
observed dissolution rate constants are highly
variable, which seems to be mainly dependent on
differences in the physical (e.g. surface area) and
chemical properties (high/low Mg-calcite) of the
calcite mineral phase.

It is also important to consider where in the
sediment dissolution occurs. Metabolically pro-
duced CO2 released immediately at the sediment-
water interface is probably much less effective for
carbonate dissolution than in deeper sediment
strata, because neutralization with bottom water
CO3

2- might occur instead of dissolution. If the
particulate organic matter is more rapidly mixed
down, i.e. by bioturbation, and oxidized in deeper
sediment strata, the CO2 released into the pore
waters can probably more effectively dissolve
carbonates (Martin and Sayles 1996).

It is generally reported that dissolution at and
above the saturation horizon is solely attributed
to the oxidation of organic matter. The importance
of oxidation-related dissolution decreases with
increasing undersaturation of the bottom water,
however, the efficiency by which Corg oxidation
drives CaCO3 dissolution increases with increa-
sing undersaturation of the bottom water (Martin
and Sayles 1996). In the same sense, Berelson et
al. (1994) suggested that the undersaturation of
the bottom water is more important for better
soluble calcite phases (high k-values), whereas
for more resistant calcite phases (low k-values),
the rain of Corg to the seafloor, and thus mine-
ralization, becomes the driving force for calcite
dissolution (Fig. 9.7). This can be understood as
an alteration process, where dissolution starts at
the sediment-water interface, right after depo-
sition of the calcite phase, and becomes more
resistant to dissolution during burial. In the zone
of oxic respiration the removal of organic
coatings around calcite grains might also play an
important role since they help to expose larger
surface areas to the pore water, thus triggering
dissolution processes.

In summary, a closer evaluation of Fig. 9.7
reveals:

(1) It is obvious that for low oxygen fluxes the
relative importance of bottom water under-
saturation is the driving force for CaCO3 dis-
solution, meaning that the y-axis intercept is
exceptionally determined by kd and Ω.

(2) It is implicit from Eq. 9.17 that a higher
degree of undersaturation increases the differen-
ces of dissolution fluxes between the chosen
values of kd (distance between hatched and solid
lines).

(3) Higher oxygen fluxes (higher amount of
metabolically released CO2) are obviously more
efficient in carbonate dissolution when bottom
waters are stronger undersaturated (lower Ω).

(2) The unit % d-1 originates from experimental studies
(e.g. Morse 1978; Keir 1980) and is used in most stud-
ies dealing with carbonate dissolution in marine
sediments. The use is, however, not always consistent
regarding the units of the dissolution rate and the pa-
rameters used in the equation and should, therefore,
generally be evaluated with caution.

9.4 Carbonate Reservoir Sizes and Fluxes Between Particulate and Dissolved Reservoirs
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(4) For high oxygen fluxes the model predicts a
ratio of calcite dissolution and oxygen flux of 0.85
which is close to the stoichiometrical ratio in Eq.
9.15.

More recently in situ microsensor measurements
of O2, pH, pCO2, and Ca could be obtained from the
upper continental slope off Gabon (Wenzhöfer et al.
2001; Adler et al. 2001; Pfeifer et al. 2002), which, to
date, provide one of the most complete sets of non-
corrupted pore water data from deep-sea sediments.
The bottom water at a water depth of about 1300 m
is slightly oversaturated with respect to calcite (Ω =
1.07 and 1.10, Adler et al. 2001), thus, dissolution
must exclusively be mediated by metabolically
produced CO2. For the first time, in situ measu-
rements of all parameters describing the carbon
dioxide system, combined with O2 microprofiles,
permitted the quantification of the amount of Corg
mineralization relative to CaCO3 dissolution. These
were completed by a number of ex situ parameters.

The numerical model CoTReM was applied to
investigate the depth dependent effects of
respiration and redox processes related to CaCO3
dissolution (Pfeifer et al. 2002; cf. Fig. 15.16 in
chapter 15). Interestingly, if calculated until a
steady-state situation is reached, the model-derived
calcite dissolution and precipitation rates produce
an almost perfect fit to the measured CaCO3 profile in
the sediment (Fig. 9.8), which suggests that ~90 %
of the CaCO3 flux to the sea floor is redissolved in
the sediment.

It is important to note that calcite dissolution is
exceptionally driven by oxic respiration (Eq. 9.15,
9.16) and re-oxidation of reduced species like HS-.
Subsequent degradation processes like the reduc-
tion of iron oxides (Eq. 9.20) may even have the
opposite effect leading to the precipitation of
calcium carbonate. Sulfate reduction (Eq. 9.21) is less
efficient than oxic respiration, which is related to at
least three important facts, which are (1) lower
overall reaction rates, (2) a lower potential of acid
production, and (3) a higher buffer capacity due to
rising alkalinity levels in the pore water with
increasing sediment depth. Because manganese and
iron reduction are only of minor importance in terms
of total mineralization (cf. Chapter 6), significant
amounts of carbonate precipitation are usually not
observed (Raiswell and Fisher 2004). A major
process driving carbonate precipitation in sediments
is the anaerobic oxidation of methane (AOM; see
Chapter 8). However, the formation of visible or
massive authigenic carbonates (crusts and chim-
neys) is restricted to cold seep environments, where
methane-enriched fluids are advected at sufficient
rates (Luff and Wallmann 2003; Luff et al. 2004).

(9.20)

(9.21)

In the study of Pfeifer et al. (2002) calcite
dissolution fluxes have been quantified in two
different ways: (1) by calculating the Ca2+-gradient
from the sediment into the bottom water of the Ca-
microprofile (Wenzhöfer et al. 2001b) and (2) by
the model derived dissolution rates (Fig. 9.8).
Following the model approach, Ca-fluxes resulted

Fig. 9.7  Model results of calcium carbonate dissolution
rates as a function of oxygen uptake rates and degree of
saturation with different values of kd from Berelson et al.
(1994). The boxes represent averaged benthic lander
fluxes for each station (see text for explanation).
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in 35.8 µmol cm-2 yr-1 at site GeoB 4906 and 33
µmol cm-2 yr-1 at site GeoB 4909, whereas calcite
dissolution fluxes calculated directly from Ca-
microprofiles are distinctively lower with 20.1 and
21.2 µmol cm-2 yr-1, respectively (attributed to
scattering data and inconsistencies in the
measured profiles).

Combining these results with existing data on
calcite dissolution fluxes and Corg mineralization
rates from deep-sea sediments located above the
saturation horizon and slightly below (Ω ~ 0.8;
Fig. 9.9) results in a good correlation, which has
been used to derive a general empirical formu-

lation relating calcite dissolution and Corg minera-
lization (Pfeifer et al. 2002):

(9.22)

where DRCaCO3 is the calcite dissolution flux and
MRCorg is the Corg mineralization rate (both in µmol
cm-2 yr-1).

Using Eq. 9.19, Hensen et al. (2003) calculated
an estimate of the global calcite dissolution flux
above the hydrographic lysocline by application
of a GIS-system (Fig. 9.10). To define the position
of the hydrographic lysocline, the gridded global

Fig. 9.8 Measured and simulated pore water profiles at station GeoB 4906 and corresponding rates of primary and
secondary redox processes. (b) Corresponding calcite dissolution and precipitation rates and the resulting steady-state
distribution of sedimentary CaCO3 for input fluxes of 40, 42, and 44 g m-2yr-1, respectively, compared to measured
concentrations (bars) (after Pfeifer et al. 2002).

3.91.1
3CaCO −⋅=

orgCMRDR

Fig. 9.9 Compilation of literature-derived CaCO3 dissolution fluxes vs. Corg mineralization rates from deep-sea sediments
(after Pfeifer et al. 2002). Equation 9.22 implies that there exists a considerable threshold of mineralization, which has to
be exceeded before CaCO3 dissolution is initiated. The increasing proportion of CaCO3 dissolution with increasing
mineralization is indicated by the vertical and horizontal lines.
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field of bottom water ∆CO3
2- data (Archer 1996a)

has been used and Corg-mineralization rates from
the grid of oxygen consumption rates after Jahnke
(1996) have been calculated, assuming a Redfield
ratio of decomposed organic material. The global
sea floor area above the lysocline was estimated
to about 7.4 · 107 km2 (corresponding to ~20 % of
the total ocean area) and the dissolution flux sums
up to about 5.7 · 1012 mol CaCO3.

Taking into account more recent estimates for
the global oxygen demand of the seafloor (i.e.
Wenzhöfer and Glud 2002) respiratory driven
calcite dissolution can be expected to be 50 %
higher in total. Compared to Archer’s study in
1996 (see Table 9.7), this would add ~10-20 % to
the total estimate.

In comparison with the study of Archer
(1996b), the estimate of Milliman et al. (1999)
clearly underestimates the total benthic CaCO3-
dissolution. Actually, simply using the Archer-
flux would help to resolve a long lasting debate
and balances – more or less – the overall budget
shown in Fig 9.5.

Milliman et al. (1999) postulated an enormous
loss of CaCO3 in the upper water column for, to
date, unknown reasons. Jansen et al. (2002)
used a numerical model in order to investigate and
predict, whether such a loss could be attributed to

respiration-driven dissolution of skeletal material
in microenvironments of sinking detritus.
Although the efficiency of this process is largely
dependent on the sinking velocity and the size of
the sinking spheres or particles, these authors
could show that this pathway of carbonate
dissolution does not account significantly to the
overall loss as observed by Milliman et al. (1999).

Applying Equation 9.22 for the total sea floor
area should give a reasonable estimate for the
metabolically induced CaCO3-dissolution on a
global scale, even though this must be less than
the total dissolution flux from respiration and
bottom water undersaturation. The application
Corg-mineralization rates derived from various
estimates of the global oxygen consumption in
deep-sea sediments (Jahnke 1996; Christensen
2000; Wenzhöfer and Glud 2002; Seiter et al. 2005)
results in global fluxes of CaCO3-dissolution
between 14.8 · 1012 and 47.2 · 1012 mol yr-1. These
comparatively low efficiencies of CaCO3 disso-
lution in combination with a wide range of esti-
mates are the result of the significant threshold
value of about 8 µmol cm-2 yr-1 before CaCO3
dissolution is initiated (Fig. 9.9). More precisely,
the low average mineralization rates of 12.9 µmol
cm-2 yr-1 as derived from the lowest estimate by
Jahnke (1996) would proportionally be much less

Fig. 9.10 Map showing the global distribution of supralysoclinal calcite dissolution by applying Equation 9.19, based on global
grids of bottom water “CO3

2- (Archer 1996a) and oxygen consumption rates (Jahnke 1996) (from Hensen et al. 2003).
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Table 9.7 Carbon fluxes from deep-sea sediments (below 1000 m water depth) in 1012 mol yr 1 estimated by using different
parameters. Global estimations of regional data compilations are made by multiplication with surface area factors.

efficient in terms of CaCO3 dissolution than higher
estimates of up to 31.6 cm-2 yr-1 (derived from
Wenzhöfer & Glud 2002). This is in contradiction
with studies of Reimers et al. (1992) and Hammond
et al. (1996) who predict that mineralization and
carbonate dissolution contribute about one half
each to the total dissolved carbon (DIC) or alkali-
nity fluxes. This 1:1 relationship obviously proves
true only for higher mineralization rates (Fig. 9.9).

Nevertheless, in combination with Archer’s
results from the non-respiratory dissolution runs
(7-34 · 1012 mol yr-1) the global CaCO3-dissolution
flux may range between 22 to 81 · 1012 mol yr-1

(Hensen et al. 2003). On the one hand, it confirms
Archer’s results based on a number of newly
obtained in situ measurements from different deep-
sea locations, and, on the other hand, it suggests
that calcite dissolution fluxes to the seafloor that
even Archer’s maximum estimation of 54 · 1012 mol
yr-1 might be even an underestimation, if higher
benthic mineralization rates as derived from
Christensen (2000) and Wenzhöfer and Glud (2002)
prove true (compare with Milliman’s estimate).

A compilation of recent data on carbon re-flux
from deep-sea sediments is provided in Table 9.7.

Four flux categories are given in Table 9.7: The
CO2 produced due to oxic respiration, calcite
dissolution, the alkalinity as a sum parameter for
calcium carbonate dissolution and CO2 from oxic
respiration, and, hitherto neglected in the discus-
sion, the dissolved organic carbon (DOC).

It is very interesting to note that many of the
more recently obtained calculations agree very
much with those of Berelson et al. (1994) who
calculated the benthic alkalinity input to the deep
ocean for the Pacific and the Indo-Pacific (Table
9.7). They suggested that most of the carbonate
dissolution in the deep ocean (Fig. 9.5) occurs
within the sediments (85 %). The extension of
their results from Pacific and Indian Ocean to the
Atlantic Ocean leading to 120 · 1012 mol yr-1 of
global dissolved carbon fluxes from sediments
may, however, be critical because of the complete-
ly different deep-water conditions in the Indo-
Pacific and the Atlantic. Deep ocean waters in the
Indian and Pacific Oceans are known to be much
older and depleted in CO3

2- implying that a much
higher proportion of calcite dissolution con-
tributes to the total alkalinity input there.
However, despite this problem of different bottom-

P aram eter Area F lux S ou rce

Resp ira to ry C O 2
1 Globa l 40 afte r Jahnke (1996)

61 afte r C hristensen (2000)
60-75 W enzhöfer and  Glud  (2002)
43 S e ite r e t a l. (2005)

C a lcite  D isso lution Globa l 27-54 A rcher (1996b)
Globa l 22-81 Hensen e t a l. (2003)
Globa l 13 M illim an (1999)

A lka linity / TC O 2 P acific 55 B ere lson e t a l (1994)
Indo-P acific 91 B ere lson e t a l (1994) 2

100 afte r B ere lson et a l (1994)
120 afte r B ere lson et a l (1994) 2

120 Mackenzie  e t a l. (1993)
100 S umm ary, this study

D OC A tlantic 3 4 Otto  (1996)

Globa l 3 18 Otto  (1996)
Tota l C Globa l 120 S umm ary, this study

1 Es timated as  ox ic  res piration of  organic  matter.   
2 Us ing data of  Broec ker  and Peng (1987) . 
3  Inc luding w ater  depth abov e 1000 m.

G loba l 
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water saturation conditions the global estimate
extending the Berelson et al. (1994) approach is in
agreement to that of Mackenzie et al. (1993). Based
on Eq. 9.22 and assuming an total mineralization of
55 · 1012 mol C yr-1 as well as an average contribution
of 15 · 1012 mol yr-1 from non-respiratory dissolution
(Archer 1996b) we may come up with a total
alkalinity flux of about 100 · 1012 mol yr-1 as a best
current estimate.

In combination with the flux of dissolved
organic carbon (DOC), which may add another
20 · 1012 mol yr -1 (Otto 1996; Table 9.7), a total
carbon release from deep-sea sediments of
about 120 · 1012 mol yr-1 seems to be the best
recent approximation regarding all sources of
uncertainty.

Summary

The main subjects addressed in Chapter 9 are
listed below:

• The major site of marine carbonate accumula-
tion is the neritic environment, including coral
reefs, banks and continental shelves, and
pelagic calcite-rich sediments. In total, about
35⋅1012 mol CaCO3 accumulate per annum in
the marine realm.

• Based on budget calculations of calcium car-
bonate, reservoir sizes in the world ocean and
exchange fluxes between reservoirs the car-
bonate system is not in steady state.

• However, calcium carbonate budget calcula-
tions are strongly biased by inexact estima-
tions of calcite production in the surface ocean
and of the dissolution of pelagic biogenic cal-
cite in the water column and in sediments
above the calcite lysocline. In addition, the un-
certainty is enhanced by the difficulty to esti-
mate dissolved inorganic carbon release from
sediments.

• The total carbon release from deep-sea sedi-
ments is estimated to be about 120⋅1012 mol yr-1,
but is subject to great uncertainty due to the
complexity of processes controlling carbon
remobilization.

• Both bottom water undersaturation and or-
ganic matter decay are responsible for calcium

carbonate dissolution in the sediments at more
or less equal levels.

• The efficiency of calcium carbonate dissolu-
tion by metabolic CO2 strongly depends on the
organic carbon / calcium carbonate rain ratio at
the sediment surface, the oxidation rate of
organic matter (and the depth horizon, where
oxidation occurs), as well as the saturation
state of bottom water (Ω) and the dissolution
rate constant kd.

9.5 Problems

Problem 1

Where would you expect more CaCO3 production:
On the continental shelves, on the slopes, or in
the deep sea?

Problem 2

Explain the difference between CaCO3 production
and CaCO3 accumulation. Discuss the difference
between both in connection with the processes of
CaCO3 dissolution in the water column and in
sediment.

Problem 3

At which water depth would you expect the calcite
compensation depth (CCD) in waters of high latitu-
des and in which water depth in waters of low lati-
tudes? Explain your answer.

Problem 4

Which carbonate species has the highest concen-
trations in sea-water? How much of the total
calcium concentration in normal sea-water exists
as CaSO4 complex? Under which conditions is this
complex rather insignificant in anoxic pore-water?

Problem 5

CaCO3 dissolution fluxes from sediment to ocean
bottom water can be estimated from Corg minerali-
zation rates. What are the geochemical processes
behind this correlation? Which calcite dissolution
rate would you expect for sediments in an upwel-
ling area, and which for deep-sea sediments?
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10 Influence of Geochemical Processes on Stable
Isotope Distribution in Marine Sediments
TORSTEN BICKERT

10.1 Introduction

Stable isotope geochemistry has become an es-
sential part of marine geochemistry and has
contributed considerably to the understanding
of the ocean’s changing environment and the
processes therein. In some fields, such as
biogeochemistry and paleoceanography, the
application of stable isotopes is still growing
due to new microanalytical techniques, permit-
ting a relatively precise analysis of very small
samples or single compounds, which allows the
investigation of a new generation of problems.
Stable isotopes are useful tracers for recon-
structing past temperatures, salinities, produc-
tivity, pCO2, nutrients, etc. However, limitations
exist on the application of these tracers because
of diagenetic processes which may considerably
alter the primary signals, due to preferential
preservation, decomposition or relocation of
particular tracers. On the other hand, stable iso-
tope geochemistry offers the chance to iden-tify
and better understand such diagenetic pro-
cesses, which is essential for the interpreta-tion
of isotope variability in marine sediments of the
past.

Within this chapter, we focus on four ele-
ments (C, O, N, S), which participate in most ma-
rine geochemical reactions and which are impor-
tant elements in the biological system. Some
recent developments in the use of B isotopes
are added to this chapter. We summarize the
influence of geochemical processes on the sta-
ble isotope distribution of those elements in
ocean water and marine sediments. After a short
review on the fundamentals of stable isotope
fractionation and mass spectrometry, the most
important fractionation mechanisms for each el-

ement within the marine environment are de-
scribed, followed by the identification of geo-
chemical processes responsible for syn- or post-
sedimentary changes in isotope signals.

10.2 Fundamentals

Excellent summaries of the use of stable isotopes
in the study of sediments and the environment in
which they are deposited are given by Hoefs
(2004), and by Faure and Mensing (2005). The
fundamentals of stable isotope fractionation for
selected elements (esp. H, C, O, S) are also
presented in  a special volume edited by Valley
and Cole (2001).

10.2.1 Principles of Isotopic Fractionation

The stable isotopic compositions of elements hav-
ing low atomic numbers (e. g. H, C, N, O, S) vary
considerably in nature as a consequence of the
fact that certain thermodynamic properties of mol-
ecules depend on the masses of the atoms of
which they are composed. The partitioning of iso-
topes between two substances or two phases of
the same substance with different isotope ratios is
called isotopic fractionation. In general, isotopic
fractionation occurs during several kinds of
physical processes and chemical reactions:

• Isotope exchange reactions involving the re-
distribution of isotopes of an element among
different molecules containing that element.

• Kinetic effects, which are associated with uni-
directional and incomplete processes such as
condensation or evaporation, crystallization or
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melting, adsorption or desorption, biologically
mediated reactions, and diffusion.

In general, light isotopes are more mobile and
more affected by such processes than heavy iso-
topes. The isotope fractionation that occurs dur-
ing these processes is indicated by the fractio-
nation factor α which is defined as the ratio RA of
the heavy to the light isotopes in one compound
or phase A divided by the corresponding isotope
ratio RB for the compound or phase B:

αA-B = RA / RB (10.1)

For example, the fractionation factor for the ex-
change of 18O and 16O between water and calcium
carbonate is expressed as:

H2
18O + 1/3 CaC16O3 ⇔

H2
16O + 1/3 CaC18O3 (10.2)

with the fractionation factor αCaCO3 – H2O defined
as:

αCaCO3 – H2O =

(18O / 16O)CaCO3 / (18O / 16O)H2O =

1.031 at 25°C (10.3)

Because isotopic fractionation factors are close to
1, they can be expressed in ‰ with the introduc-
tion of the ε-value defined as

εA-B = (αA-B - 1) · 1000 (10.4)

For geochemical purposes, the dependence of
isotope fractionation factors on temperature is the
most important property. In principle, fractionation
factors for isotope exchange reactions are also
slightly pressure-dependent, but experimental
studies have shown the pressure dependence to
be of no importance within the outer earth envi-
ronments (Hoefs 2004). Occasionally, the fractio-
nation factors can be calculated by means of parti-
tion functions derivable from statistical mechan-
ics. However, the interpretation of observed varia-
tions of the isotope distribution in nature is
largely empirical and relies on observations in
natural environments or experimental results ob-
tained in laboratory studies. A brief summary of
the theory of isotope exchange reactions is given
by Hoefs (2004).

10.2.2 Analytical Procedures

Stable isotope measurements on light elements are
made on gases, i.e. H2 for hydrogen, CO2 for car-
bon and oxygen, N2 for nitrogen, and SO2 or SF6
for sulfur isotopes. A variety of techniques is
used to convert samples to a compound suitable
for analysis. The most important aspect of sample
preparation is to avoid isotopic fractionation.
Since molecules with different isotopic masses
have different reaction rates, procedures with less
than a quantitative (i.e. 100%) output may pro-
duce a reaction product that does not have the
same isotopic composition as the original sample.
Furthermore, a pure gas is necessary to avoid in-
terference by contaminants in the mass spectro-
meter. Contamination may result from incomplete
evacuation of the vacuum preparation system or
degassing of the sample, as well as from unwanted
side reactions in the preparation procedures. In
general, the error attributable to sample prepa-
ration is greater than the instrumental analysis of
the product gas.

Isotopic abundance measurements for geo-
chemical research are determined using mass
spectrometry. A mass spectrometer separates
and detects ions based on their motions in mag-
netic or electrical fields. For detailed information
on mass spectrometry and the according analyti-
cal techniques we refer the reader to the compre-
hensive review by Hoefs (2004). This volume also
gives an introduction in new microanalytical tech-
niques, such as laser-assisted ablation, which al-
lows the on-line transfer of submilligram quanti-
ties of mineral into a standard gas-source spec-
trometer (Kyser 1995), and the gas chromatogra-
phy combined with mass spectrometry, which al-
lows the determination of the isotopic composi-
tion of single compounds previously separated
by means of a gas chromatograph (Hayes et al.
1990; Merrit and Hayes 1994).

Boron isotope ratios are determined by positi-
ve or negative thermal ionization mass spectro-
metry (TIMS). Whereas the positive ionisation
technique requires microgram quantities of boron
producing Na2BO2

+ or Cs2BO2
+ ions (Spivack and

Edmond 1986), the negative ionisation technique
using BO2

- ions allows for analyzing nanogram
quantities of boron (Hemming and Hanson 1994).
Recently, Lecuyer et al. (2002) described the use
of multiple collector ICP-MS technique for boron
isotopic measurements of waters, carbonates,
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phosphates, and silicates with an external repro-
ducibility of ±0.3‰.

In Earth sciences, the relative differences in
isotopic ratios between a sample and a standard
are mostly used for reporting stable isotope abun-
dances and variations. The reason is that the ab-
solute value of an isotopic ratio is difficult to de-
termine with sufficient accuracy for geochemical
applications. The reporting notation employed is
the δ-value, defined as

δ in ‰ = (Rsample - Rstandard) / Rstandard · 1000

(10.5)

where Rsample is the isotopic ratio of the sample
(13C/12C, 18O/16O, 15N/14N, 34S/32S, etc.) and
Rstandard is the corresponding rate in a standard.
Nevertheless, the determination of absolute iso-
tope ratios (Table 10.1) is essential, since these
numbers form the basis for the calculation of the
relative differences.

Isotope laboratories use different reference
gases or working standards for the measurement
of relative isotope ratios by mass spectrometry.
However, all results are reported relative to an in-
ternationally accepted standard (Table 10.1). The
selection of standards is an important procedure
in isotope geochemistry because their definition
and availability controls the extent to which re-
sults from different laboratories can be compared.

Since the supply of PDB, the working standard in-
troduced by H. C. Urey’s laboratory at the Univer-
sity of Chicago, as well as of SMOW, a water
sample prepared by H. Craig for distribution by
the IAEA, have been exhausted for years, some
confusion and irregularities occurred in the past
regarding standards, particularly oxygen isotope
standards. These problems may be resolved fol-
lowing the recommendations of the Commission
on Atomic weights and isotopic abundances of
the International Union of Pure and Applied
Chemistry, published in 1995 (see Appendix in
Coplen 1996). Isotope reference materials may be
obtained from the National Institute of Standards
and Technology (NIST), Gaithersburg, MD, or the
International Atomic Energy Agency (IAEA), Vi-
enna, Austria.

10.3 Geochemical Influences
on 18O / 16O Ratios

10.3.1 δδδδδ18O of Seawater

Principles of Fractionation

The oxygen isotopic composition of seawater
(δ18Ow) is controlled by fractionation effects due
to evaporation and precipitation at the sea sur-
face, freezing of ice in polar regions, the admixing

Table 10.1 Absolute isotope ratios of international standards and laboratory standards (after Hoefs 2004)

Sta ndard Ra tio Accepte d va lue  ·106 Lab standard δ-va lue
w ithin 95%  conf id. interval [0/00]

SMOW D/H 155.8 ± 0.1 VSMOW 0.00

Standard Mean Ocean Water SLAP -428.00
18O/16O 2005.2 ± 0.4 VSMOW 0.00

SLAP -55.50

PDB 13C/12C 11237.2 ± 2.9 NBS 19 (calc ite) +1.95

Pee Dee Belemnite 18O/16O 2067.1 ± 2.1 NBS 19 (calc ite) -2.20

NBS 19 (carbonatite) -23.01

N2 (a tm .) 15N/14N 3676.5 ± 8.1 Air nitrogen 0.00
A ir nitrogen

CDT 34S/32S 45004.5 ± 9.3 CDT (FeS) 0.04
Canyon Diablo Troilite

NIST 951 11B/10B 4.04558 ± 0.00033 NIST 951 (boric  ac id) 0.25
Searles Lake Borax
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of water masses containing different 18O/16O
ratios such as melt water, river runoff, etc., and the
global isotope content of the oceans (Craig and
Gordon 1965; Broecker 1974). Since the salinity of
seawater is similarly affected by these processes,
Craig and Gordon (1965) and later Fairbanks et al.
(1992) defined a set of regression relationships
between salinity and δ18Ow with different slopes
for several modern water masses, varying between
0.1 for humid tropical and 1.0 for arid polar surface
water masses with a global mean of 0.49 (Fig.
10.1). Higher slopes represent areas where evapo-
ration exceeds precipitation, and vice versa. How-
ever, the extent of oxygen isotope enrichments
due to evaporation is limited due to the recycling
of atmospheric moisture by the different pathways
of precipitation. The slope of the global trend
extrapolates to a δ18O-value of –17‰ at zero
salinity, reflecting the influx of high-latitude pre-
cipitation and glacial meltwater. For the Antarctic
continental ice, even δ18O-values as low as –54‰
have been determined (Weiss et al. 1979; Jacobs et

al. 1985). However, the slope of the δ18Ow-salinity
relationship may have changed through geolo-
gical time (see discussion below).

For water masses deeper than 2000 m, Zahn
and Mix (1991) obtained a slope as high as 1.53.
This gradient is explained with the formation of
sea-ice in the source areas especially for southern
component water masses. Since the freezing of po-
lar surface waters raises the salinity, but does not
fractionate oxygen isotopes, southern source
deep water masses, like the Antarctic Bottom
Water, exhibit relatively low δ18Ow values, and so
do other water masses, which are derived from the
admixture of south polar water masses (Macken-
sen 2001).

Modern Range of Values and Historical Variability

The modern δ18Ow values of seawater are close
to 0‰ (V-SMOW) and vary only within narrow
limits. From the GEOSECS δ18O sections for the
today’s world oceans, compiled by Birchfield

Fig. 10.1 Relationship between salinity and δ18Ow of major water masses (after Craig and Gordon 1965; deep water
line according to Zahn and Mix 1991).
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(1987), a range of +1.0‰ in the mid-latitude
surface Atlantic to –0.6‰ in the northern
surface Pacific is present. Deep water mass
δ18Ow ranges from +0.3‰ in the core of North
Atlantic Deep Water to –0.1‰ in the Circum-
polar Deep Water (for a recent compilation
search the Global Seawater Oxygen-18 Data-
base, Schmidt et al. 1999). Since δ18Ow exhibits
only a narrow range within open ocean condi-
tions, this proxy is an excellent tracer for indi-
cating the influence of freshwater input to
ocean water masses, since river discharge or
meltwater release is always depleted in 18O
(Craig and Gordon 1965). For example,
Mackensen et al. (1996, 2001) showed isotopi-
cally light meltwaters of the Antarctic Peninsula
shelves to cascade down slopes the Weddell Sea
Basin and thereby contributing to bottom water
formation.

In geologic history, the δ18Ow has been
shown to vary considerably. For the sea-level
low stand of -120 m during the last glacial
maximum, Fairbanks (1989) showed Barbados
coral oxygen isotopic composition to be enriched
by 1.2‰, which coincides with an isotopic
change of 0.10‰ corresponding to a 10 m sea-
level change earlier estimated by Shackleton and
Opdyke (1973). A slightly lower glacial inter-
glacial range of 0.7 to 1.1‰ has been reported
from porewater analyses of different drill holes in
the Atlantic (Adkins et al. 2002). In an ice-free
world, like in the Cretaceous, the global mean
should have been depleted by another -0.8‰. On
longer time scales, additional processes affecting
the δ18Ow have to be considered. A compilation
of Phanerozoic δ18Ow values showed an 5‰
increase in δ18Ow since the Cambrian (Veizer et
al. 1999 with a recent update of the database in
2004). By mass balance calculations, Wallmann
(2001) demonstrated that this increase in δ18Ow
is in agreement with the ocean’s 6-10% loss of
seawater over the last 600 mio years because the
subduction of water structurally bound in altered
oceanic crust exceeds the water emission by
mantle degassing. However, the large isotopic
shifts observed episodically in the Paleozoic, as
recorded in fossils (Veizer et al. 1999) and abiotic
marine calcites (Lohmann and Walker 1989;
Carpenter et al. 1991), exceed by far the varia-
bility in isotopes observed in Neogene and Qua-
ternary times and are too fast to be explained
with ocean crust-seawater interactions. Those
changes must be attributed to changes in earth

climate systems, like ice volume and ocean
circulation (e.g. Railsback 1990; Bickert et al.
1997).

10.3.2 δδδδδ18O in Marine Carbonates

Principles of Fractionation

The oxygen isotope ratios in carbonates are a
function of both temperature and the δ18Ow of the
surrounding seawater. Since the early equation
given by Epstein et al. (1953), many equations
have been published, which substantiated the po-
tential of oxygen isotope paleothermometry for
biogenically precipitated calcite. The first equa-
tion based on laboratory experiments with plank-
tonic foraminifera was generated by Erez and Luz
(1983). Their measurements on the cultured symbi-
otic species G. sacculifer were approximated by
the second order polynom

T = 17.0 - 4.52 · (δ18Oc - δ18Ow )
+ 0.03 · (δ18Oc - δ18Ow )2 (10.6)

with T standing for the in-situ temperature during
calcite precipitation (°C), δ18Oc representing the
oxygen isotopic composition of the calcite (as ‰
PDB), and δ18Ow representing the δ18O value (‰
PDB) of the seawater from which the calcite has
been precipitated. Since oxygen isotope analyses
of waters are commonly reported relative to
SMOW, the conversion of δ18Ow to the PDB scale
can be calculated according to Hoefs (2004)

Fig. 10.2 Comparison of the results of different paleo-
temperature equations (see Bemis et al. 1998 for review).

10.3 Geochemical Influences on 18O/16O Ratios
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Fig. 10.3 δ18O and δ13C deviations from equilibrium isotope composition of selected calcareous species (adopted from
Wefer and Berger 1991).
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 δ18OPDB = 0.97002 · δ18OSMOW - 29.98 (10.7)

A δ18Ow correction of –0.27‰ is therefore nec-
essary to compare δ18O values measured in CO2
produced by the reaction of calcite with H3PO4
with those measured in CO2 equilibrated with
water.

Most of the paleotemperature equations ap-
pear to be similar to the one stated above (Eq.
10.6), but temperature reconstructions can differ
as much as 2°C when ambient temperature varies
between 5°C and 25°C (Fig. 10.2; Bemis et al.
1998; for a recent review see Mulitza et al. 2003).
The reason is that, in addition to in-situ tempera-
ture and water isotopic composition, the shell
δ18O may be affected by the photosynthetic
activity of algal symbionts and by the carbonate
ion concentration in seawater. Wefer and Berger
(1991) summarized the importance of such ef-
fects, previously called 'vital effects', on a broad
spectrum of organisms (Fig. 10.3). For oxygen
isotopes, most organisms are shown to precipi-
tate CaCO3 close to equilibrium with the water in
which they live. However, some organisms, such
as planktonic foraminifera and hermatypic corals,
exhibit significant differences from isotopic equi-
librium (see Waelbroek et al. 2005 for a review).
Laboratory experiments with live planktonic
foraminifera demonstrated that an increase in the
symbiont photosynthetic activity results in a
decrease in shell δ18O values (Spero 1992; Spero
and Lea 1993). The mechanisms driving the
effects of symbiont photosynthesis on shell δ18O
are not well understood, but appear to be linked
to the carbonate ion concentration. During
photosynthetic activity, CO2 uptake by the
symbionts increases the pH in the microen-
vironment around the shell (Jørgensen et al.
1985; Rink 1998; Zeebe 1999). Consequently, more
alkaline conditions correspond to locally
elevated [CO3

2-]. The 18O depletion of shells due
to higher symbiont photosynthetic activity is
consistent with the effect of higher ambient
[CO3

2-]. Spero et al. (1997) obtained a δ18O/[CO3
2-]

slope of –0.002‰ µmol-1kg-1 from experiments
with symbiotic (O. universa ) and non-symbiotic
(G. bulloides) foraminifer species. This previ-
ously undocumented carbonate isotope effect
may help to solve inconsistencies in temperature
reconstructions by applying oxygen isotope
paleothermometry relative to other marine or ter-
restrial temperature proxies (see discussions in
Spero et al. 1997; Zeebe 1999).

Diagenesis

The isotopic composition of a carbonatic shell will
remain unchanged until the shell material dissolves
and recrystallizes during diagenesis. Diagenetic
modification, however, could begin immediately
after deposition or even in the water column due
to corrosive deep ocean or pore waters. Such wa-
ters are generally enriched in CO2 due to the respi-
ration of organic matter mediated by specific bac-
teria. In shells of the planktonic foraminifera P.
obliquiloculata sampled in a depth profile in the
western equatorial Pacific Wu and Berger (1989)
showed  that below the depth of the modern
lysocline the δ18O of this species increased with
water depth due to increasing calcite dissolution.
Close to the modern depth of calcium carbonate
compensation, the observed deviation reached a
maximum value of +0.9‰. This effect of differen-
tial dissolution, i.e. the preferential removal of the
light isotope 16O, has recently helped to unravel
the so-called cool tropics paradox. Using
exceptionally well preserved planktonic foramini-
fer shells extracted from clay-rich late Cretaceous
to Eocene sediments, Pearson et al. (2001) could
show that the previously reported cooler tropical
sea surface temperatures are the result of up to 3
‰ increased δ18Ο values caused by a subtle
diagenetic recrystallization on a micrometer scale,
without obliterating surface ornaments or internal
layering features. Pearson et al. (2001) em-
phasized that this kind of diagenesis is hard to
detect compared to more obvious modes of alte-
ration like the precipitation of euhedral inorganic
calcite resulting in substantial infillings or over-
growth.

The conversion of sediment into limestone
within deep-sea sediments results from pressure
and temperature rises which both increase with
burial depth. Within carbonate sediments, dia-
genesis generally transforms the less stable
aragonite and Mg-calcite into a low-Mg calcitic
cement by means of a dissolution-reprecipitation
process. Theoretically, the oxygen isotope compo-
sition of carbonates should not change signifi-
cantly with burial, since the 18O in pore waters
originates from seawater. However, in many cores
recovered during DSDP/ODP drilling, deep-sea
carbonates and often pore waters as well, exhibit
18O depletions by several permil (e.g. Lawrence
1989). Mass balance calculations by Matsumoto
(1992) indicated that the 18O shift in pore water to-
wards lower values in sediments of the Japan Sea
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is controlled by a low-temperature alteration of
basement basalts (see also discussion in Sect.
10.3.1), which is slightly compensated by the
transformation of biogenic opal to quartz. Further-
more, detailed measurements on different genera-
tions of carbonate cements suggest that late
cements exhibit lower δ18O values compared to
early precipitates. This δ18O trend may be due to
the increasing temperatures with increasing burial
depth or to the isotopic evolution of pore waters
during precipitation (Hoefs 2004).

10.4 Geochemical Influences
on 13C / 12C Ratios

10.4.1 δδδδδ13CΣΣΣΣΣCO2 of Seawater

Principles of Fractionation

The carbon isotopic composition of ΣCO2 in
seawater is mainly controlled by two processes,
the biochemical fractionation due to the formation
and decay of organic matter, and the physical
fractionation during gas exchange at the air-sea
boundary (Broecker and Maier-Reimer 1992). Sur-
face water is enriched in 13C, because photosyn-
thesis preferentially removes 12C from the CO2.
Deeper water masses have lower δ13C values,
since nearly all of the organic matter that is
produced by photosynthesis is subsequently
remineralized in the water column. Broecker and
Maier-Reimer (1992) showed that if there were no
air-sea gas exchange, the relationship between
δ13C and PO4 in the ocean would be

δ13C - δ13Cm.o. =

εp / ΣCO2 m.o. · C / Porg · (PO4 – PO4 m.o. )

(10.8)

where εp (‰) is the isotopic effect associated with
the photosynthetic fixation of carbon, C/Porg is the
Redfield Ratio, and the subscript m.o. stands for
mean ocean values. When reasonable values are
substituted (δ13Cm.o. = 0.3‰, εp = –19‰, ΣCO2 m.o.
= 2200 µmol kg-1, C/Porg = 128, PO4 m.o. = 2.2 µmol
kg-1), the predicted relationship closely matches the
relationship for waters in the deep Indian and Pa-
cific Oceans (δ13C = 2.7 - 1.1·PO4). This is to be ex-
pected, as the effect of air-sea exchange should be
constant for these deep water masses due to the

homogeneity of source waters for the deep Indian
and Pacific Oceans.

On the other hand, carbon isotope fractio-
nation during air-sea gas exchange is also an im-
portant factor in determining the isotopic compo-
sition of carbon in surface water (Charles and
Fairbanks 1990; Broecker and Peng 1992; Lynch-
Stieglitz et al. 1995). If the CO2 in the atmosphere
were in isotopic equilibrium with the dissolved
inorganic carbon in the ocean, the dissolved
inorganic carbon would be enriched in 13C by
about 8‰ at 20°C relative to the atmosphere CO2
(Zhang et al. 1995). This thermodynamic
fractionation depends on the temperature of equi-
libration, with ΣCO2 becoming more enriched rela-
tive to the atmospheric value by about 1‰ per
10°C cooling (Fig. 10.4; Mook et al. 1974). If the
surface ocean were in complete isotopic equilib-
rium with atmospheric CO2, one expects a 3‰
range in oceanic δ13C for the 30°C range in ocean
temperatures, similar to the magnitude of δ13C
change induced by biological processes. In fact,
CO2 exchange rates between the ocean and the at-
mosphere are slow enough (relative to mass trans-
port of ΣCO2 within the ocean) that the range of
δ13CΣCO2 in surface waters is less than 3‰.
Moreover, Zahn and Keir (1994) showed in their
ocean-atmosphere box-model that even in the ab-
sence of the temperature effect, the air-sea gas ex-
change modifies the δ13C distribution of the upper

Fig. 10.4 Schematic diagram showing the effect of bio-
fractionation and thermodynamic effects on the carbon
isotopic composition of total dissolved inorganic carbon
(according to Zahn and Keir 1994).
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ocean and the Atlantic deep water. The observed
deviations occur because net biological produc-
tion in the Southern Ocean is low relative to the
upwelling fluxes of nutrients and dissolved car-
bon, allowing low 13C/12C ratios in the dissolved
carbon to outcrop and exchange with the atmos-
phere. As a consequence, a dynamic balance is
achieved where CO2 evading from Antarctic wa-
ters to the atmosphere has a lower δ13C than the
invading CO2, while the isotope ratio of the evad-
ing CO2 from the warm ocean is greater than that
of the return flux of CO2.

Modern Range of Values and Historical Variability

The modern δ13CΣCO2 values of seawater are close
to 0‰ (PDB) and vary only within a small range.
From the GEOSECS δ13CΣCO2 sections for today’s
world oceans, compiled by Kroopnick (1985), a
range of +2.5‰ in the mid-latitude surface Atlan-
tic to +0.7‰ in the northern surface Pacific has
been determined. Deep water mass δ13CΣCO2
ranges from +1.2‰ in the core of North Atlantic
Deep Water and +0.4‰ in the Circumpolar Deep
Water to –1.0‰ in the northern Pacific Deep Wa-
ter. As stated above, δ13CΣCO2 of a deep water
mass behaves like a conservative tracer for phos-
phate, since the water mass left its sea surface
source area. On the other hand, paired δ13CΣCO2
and PO4 measurements on two sections in the
Southern Ocean clearly support the thermody-
namic imprint during Weddell Sea Bottom Water
formation by a significant deviation from the
Redfield δ13CΣCO2/PO4 relationship (Mackensen et
al. 1996; Mackensen 2001). A recent matter of
concern is the so-called oceanic Suess effect,
which describes the uptake of 13C-depleted
anthropogenic CO2 by the oceans and the
consequent decrease in the oceanic δ13C.
Comparisons between modern sediment trap and
core top foraminiferal δ13C reveal a modern
depletion in δ13C of the upper water column of up
to 0.65‰ in the Subantarctic Zone and up to
0.9‰ in the Arctic realm (e.g., King and Howard
2004).  This effect has to be considered before
using surface sediment values for carbon cycle
proxy calibrations.

The δ13CΣCO2 varied considerably in geologic
history. Generally, three explanations are given for
changes of δ13CΣCO2 distribution in the ocean: (1)
changes in the surface-ocean productivity which
cause variable fractionation between surface and
deep water carbon isotopic composition, (2)

changes in the gas exchange rates between ocean
and atmosphere due to changes in surface
temperatures and ocean circulation, and (3)
changes in the marine carbon budget by varia-
tions in the reservoirs of the atmosphere, the
ocean, or the lithosphere. Of course, these differ-
ent processes act on different time scales. Varia-
tions on a scale of 101 to 105 years might be attrib-
uted to changes in the effectivity of the biologic
pump (Berger and Vincent 1986), to rapid changes
between land and ocean reservoirs (Shackleton
1977; Broecker 1982), or to changes in ocean cir-
culation responding to climate variability (e.g.
Sarnthein et al. 1994; Bickert and Mackensen 2003).

On scales of 105 years and longer, changes in
the influx and in the burial of sedimentary inor-
ganic and organic carbon exert a primary control
on the δ13C of the ocean and the atmosphere
(Holser 1997). Main sources for carbon comprise
the erosional flux of sedimentary carbon (as Corg
and carbonate) and the degassing of volcanic
CO2; main sinks are the burial of organic matter
and the deposition of carbonate. Changes in the
oceanic δ13C are assumed to be the result of varia-
tions in the ratio of inorganic to organic carbon
contributed to sediments (e.g. Derry and France-
Lanord 1996). An increase in the burial of organic
carbon would preferentially remove 12C from
seawater, so that the ocean reservoir would be-
come isotopically heavier, and vice versa.

10.4.2 δδδδδ13C in Marine Organic Matter

Principles of Fractionation

The carbon isotopic composition of marine or-
ganic matter produced in the photic zone depends
on the isotope ratio of the total dissolved inor-
ganic carbon and the degree to which this inor-
ganic pool is utilized (Degens et al. 1968). Al-
though more than 90% of the inorganic carbon
pool is in the form of HCO3

-, phytoplankton uti-
lizes mostly carbon of the very small reservoir
(1%) of dissolved CO2(aq). While the equilibrium
exchange fractionation is only small between at-
mospheric CO2 and dissolved CO2(aq) (about 1‰),
and moderate between CO2(aq) and HCO3

- (with a
range of 10‰ to 8‰ between 5°C and 25°C; Mook
et al. 1974), a large kinetic fractionation accompa-
nies the biological carbon fixation during photo-
synthesis. The main isotope-discriminating steps
are (1) the uptake and intracellular diffusion of
CO2, and (2) the enzymatic carbon fixation (Park
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Fig. 10.5 Carbon isotopic composition of autotrophic marine and terrestrial organisms in comparison to the range
observed in anorganic compounds (after Schidlowski 1988) and organic constituents (after Degens 1969).

bon isotopes during photosynthesis by plankton
depends on the concentration of ambient dissolved
molecular carbon dioxide (CO2(aq)), which led to the
suggestion that sedimentary δ13Corg may serve as a
proxy for surface water CO2(aq) (Popp et al. 1989;
Rau et al. 1991). The applicability of this tool in
paleoceanographic studies has been shown repeat-
edly (e.g. Jasper and Hayes 1990, 1994; Fontugne
and Calvert 1992; Müller et al. 1994), but the recon-
struction of paleo-pCO2 has become more and more
complex due to the growing knowledge of factors
influencing carbon isotopic fractionation during or-
ganic matter construction. Recent laboratory and
field experiments as well as theoretical conside-
rations indicate that the isotopic fractionation of
carbon during photosynthesis (εp), and conse-
quently also the sedimentary δ13C of organic matter,
could be influenced by physiological processes
and environmental factors such as growth rates,
temperature, nutrient supply, irradiance (Laws et al.
1995; Bidigare et al. 1997; Burkhardt et al. 1999;
Rost et al. 2002), cell geometries and membrane
permeability (Popp et al. 1998; Burkhardt et al.
1999), and active carbon uptake (for a review see
Schulte et al. 2003). To better follow the discussion
of this complex matter, the consecuting paragraphs
introduce the use of δ13Corg in pCO2 recon-

and Epstein 1960). The first, reversible step is as-
sociated with a moderate fractionation of about –
4‰, the second, irreversible step causes a kinetic
fractionation of up to –40‰ (O’Leary 1981).

The δ13Corg values of marine phytoplankton
range between –10‰ and –31‰, but most of the
warm-water plankton exhibits values between
–17‰ to –22‰ (Fig. 10.5; Degens et al. 1968,
1969). The two-step model of carbon fixation
clearly suggests that isotope fractionation depends
on the concentration of CO2(aq). The fractionation
decreases with decreasing CO2 availability, such
that in warm marine surface waters one would ex-
pect higher δ13Corg values than in colder waters,
since the solubility of CO2 increases with decreas-
ing temperature. However, other factors, such as
species composition, light intensity, growth rate
and cell geometry may also influence organic
δ13C values of particulate organic matter (e.g.
Hayes 1993; Bidigare et al. 1997; Rau et al. 1997;
Popp et al. 1998).

An important application of carbon stable iso-
tope ratios lies in the reconstruction of the carbon
dioxide concentration in surface waters and subse-
quently in the atmosphere at the time the organic
matter was produced. Experimental and field stud-
ies have shown that the fractionation of stable car-
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Fig. 10.6 Diagram outlining the estimation of surface ocean CO2(aq) and pCO2, when δ13Calkenones, δ13Ccalcite, δ15N as a
proxy for carbon demand b, and surface ocean temperature are provided (Andersen et al. 1998; modified from Jasper
and Hayes 1994).

10.4 Geochemical Influences on 13C/12C Ratios

struction, knowing the fact that there is an ongoing
debate on the  applicability of this proxy.

For algae where CO2 is thought to reach the
photosynthetic site only by passive diffusion, εp
can be calculated by the following equation
(Bidigare et al. 1997):

εp = εf - b / [CO2(aq)] (10.9)

where εf (‰) is the maximum isotopic effect asso-
ciated with the photosynthetic fixation of carbon
mediated by the enzyms Rubisco and β-carboxy-
lase (≈25 ‰; Bidigare et al. 1997), and the variable
b reflects the intracellular carbon demand. Because
the b-value combines a suite of factors, like
growth rate, membrane permeability, cell geometry,
and boundary layer thickness, significant
variations in b (–109 ‰µM to –164 ‰µM) have
been observed in empirical fits to field and experi-
mental data (Laws et al. 1995). For example, higher
growth rates lead to higher b-values (Bidigare et

al. 1997; Rau et al. 1997). Based on chemostat ex-
periments with the coccolithophorid E. huxleyi,
Bidigare et al. (1997) found a close correlation
between εp and the growth rate µ:

      εp = 24.6 - 137.9 · µ / [CO2(aq)] (10.10)

To obtain CO2(aq), Equation 10.9 has to be rear-
ranged, and values for εp are determined from the
carbon isotopic compositions of the primary
photosynthate δ13Cp (‰) and of the ambient dis-
solved molecular carbon dioxide δ13Cd (‰) (Fig.
10.6):

εp = ((δ13Cp + 1000) / (δ13Cd +1000) - 1) · 1000

(10.11)

Assuming that diagenetic isotopic alterations
can be neglected (see below), δ13Cp may be di-
rectly substituted by the measured δ13Corg value.
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Values for δ13Cd are estimated on the basis of the
δ13C of calcite tests assuming that the calcite was
precipitated in equilibrium with the ΣCO2, correct-
ing for the temperature-dependent fractionation
εb(a) between CO2(aq) and dissolved bicarbonate
according to Mook et al. (1974):

      δ13Cd  = δ13CΣCO2 - εb(a)
                  = δ13CΣCO2 - 24.12 - 9866 / T         (10.12)

T is the temperature of surface waters mea-
sured in K. The CO2(aq) concentrations are then
converted to CO2 partial pressure values (pCO2 in
µatm) using Henry’s Law:

pCO2 = CO2(aq) / α (10.13)

where the solubility coefficient α is mainly a func-
tion of temperature and, to a minor extent, of
salinity (Rau et al. 1991). α may be calculated ac-
cording to Weiss (1974). The success of the equa-
tions in determining surface CO2(aq) is dependent
on the estimation of the sea-surface temperatures
and on the determination of the complex variable b
for the past. While several proxies exist for recon-
structing past SST, the determination of ancient b-
values is difficult. A promising approach is the use
of bulk sediment δ15N as proxy for b (Andersen et
al. 1999). However, the use of δ15N as a proxy for
carbon demand introduces a number of potential
problems associated with the complex fractionation
mechanisms of nitrogen isotopes (see Sect. 10.5).

A topic of much concern regarding the use of
bulk δ13Corg in paleoceanographic investigations
is the masking of the marine δ13Corg signal by terres-
trially-derived organic matter. Since terrigenous ma-
terial is usually substantially depleted in 13C (estima-
ted mean value of –27‰, since 90% of land plants
are C3 plants) compared to marine-derived matter
(mean value of –19‰), the carbon isotopic composi-
tion of ocean sediments have been used to trace the
origin of sedimentary organic carbon (Newman et al.
1973; Rühlemann et al. 1996). However, the underly-
ing assumption regarding the mixing of a marine and
a terrestrial δ13Corg end member is not always sup-
ported because of the possible variability of δ13Corg
values produced in terrestrial systems (e.g. change
in the relative contribution of C3 and C4 plants).
Also, marine values may change by processes oc-
curring in the water column (e.g. changing phyto-
plankton growth conditions, see above).

To circumvent the problem of influencing
carbon isotope signals by terrigenous organic mat-

ter contamination or by marine photosynthesizers
with varying carbon fixation pathways and cell
geometries, recent studies concentrated on
certain organic molecules (biomarker) from known
marine sources unique to a particular class of
organism. In this context, C37 alkenones have
been shown to serve as excellent biomarkers (e.g.,
Andersen et al. 1999), because they derive
exclusively from some haptophyte algae, which
have a narrow range of cell geometries and
diameters (Bidigare et al. 1997; Popp et al. 1998),
thereby minimizing these variables as a
significant control on isotopic compositions. As
an application, Pagani et al. (1999) concluded on
the basis of εp37:2 records that early to late
Miocene (25-9 Ma) pCO2 levels were similar to
those recorded for Pleistocene glacial-interglacial
intervals. This pattern of low pCO2 levels
throughout the Neogene has been confirmed
independently by Pearson and Palmer (2000)
using boron isotopes (see chapter 10.7)

Diagenesis

Early diagenesis begins in the photic zone of the
oceans, continues during the sinking of particles,
and is intense in the bioturbated surface layer of
sediments. Therefore, only a few percent of the
initially produced organic matter becomes buried
in the sediments (Berger et al. 1989). However,
despite the extensive loss of organic matter due to
remineralization, the carbon isotopic composition
of particulate organic matter appears to undergo
only little change (see review in Popp et al. 1997).
On the other hand, large and nonsystematic
differences have been observed between the
isotopic composition of total organic carbon and
single organic compounds, e.g. phytoplankton
biomarkers, in the same deposit (Fig. 10.5; Degens
et al. 1969). Therefore, the assumption that the
carbon isotopic composition of marine sedimen-
tary organic matter directly or indirectly reflects
the carbon isotopic composition of phytoplank-
tonic matter must be taken cautiously (Popp et al.
1997). Furthermore, since marine organic matter is
easily digestible, whereas terrestrial organic
matter is rather resistant, such preferential
decomposition of organic matter has great impact
on the estimation of the average marine and ter-
restrial δ13Corg component (de Lange et al. 1994).

The carbon isotopic composition of pore wa-
ters reflects both the decomposition of organic
matter, which releases 13C-depleted CO2 to the
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pore water, and the dissolution of CaCO3, which
adds CO2 relatively enriched in 13C. Since the de-
pletion of organic matter δ13C exceeds by far the
range of δ13C exhibited in sedimentary carbonate,
the net result of these two processes is to make
dissolved CO2 in pore water isotopically lighter
compared to the overlying bottom water. Below
the sediment/water interface, where pore water
has a δ13C-value near that of seawater, a δ13C-gra-
dient exists in the uppermost few centimeters.
McCorkle et al. (1985) and McCorkle and Emerson
(1988) showed that the gradient of δ13C-profiles
observed in several box cores vary systematically
with the rain of organic matter to the seafloor. In
slowly deposited oxic sediments containing little
amounts of organic carbon, only a small decrease
in δ13C relative to seawater δ13C occurs. In
organic-carbon rich sediments, the rates of
organic matter decomposition and the production
of reduced nitrogen compounds would rapidly
decrease the pore water δ13C. In these anoxic
sediments, the situation is even more complex due
to bacterial methanogenesis, which follows the
sulfate reduction during early diagenesis. Since
methane-producing bacteria metabolize methane
highly enriched in 12C (–50‰ to –100‰; Deines
1981), the pore water becomes significantly
enriched in 13C. Such trends in δ13C of total
dissolved CO2 from pore waters within anoxic
sediments have been recovered in various Deep
Sea Drilling sites (Arthur et al. 1983). However,
because pore waters are not truly closed systems,
other factors like carbon loss due to upward diffu-
sion of methane and other dissolved carbon
species as well as precipitation of authigenic car-
bonates may also affect pore water δ13C. For ex-
ample, if significant amounts of methane are
utilized in sulfate reduction, the rate of δ13C
decrease associated with the ΣCO2 increase would
be anomalously high (Arthur et al. 1983).

10.4.3 δδδδδ13C in Marine Carbonates

Principles of Fractionation

Precipitation of carbonate, largely from total dis-
solved carbon which is present primarily as HCO3

-,
involves a much smaller fractionation of carbon
isotopes compared to the photosynthetic fixation
of carbon. In fact, the δ13C of calcite is relatively
insensitive to changes in temperature (e.g.
≈0.035‰ °C-1; Emrich et al. 1970) such that car-
bonate minerals can be used generally to monitor

changes in the δ13CΣCO2 in the waters from which
they precipitate. However, the possible effects of
biologically mediated carbonate precipitation have
been considered already for oxygen isotopes (see
Sect. 10.3.2). Observations summarized by Wefer
and Berger (1991) reveal that most organisms ex-
hibit δ13C-values which are in disequilibrium with
the δ13CΣCO2 of the waters, from which shell car-
bonate is precipitated (Fig. 10.3). As discussed for
the influences on oxygen isotopic composition in
carbonate, there may be several reasons for these
deviations. McConnaughy et al. (1997) distinguish
metabolic and kinetic effects on the carbon iso-
topic disequilibria. Kinetic isotope effects result
from the discrimination against 13C during hydra-
tion and hydroxylation of CO2. Such effects
appear to be associated with rapid calcification,
as observed in corals. Metabolic effects appar-
ently result from changes in the δ13CΣCO2 of the
microenvironment due to photosynthesis and res-
piration. For example, infaunal benthic foraminifera
precipitate their calcite in equilibrium with ambient
pore water δ13CΣCO2, and therefore monitor the
vertical carbon isotope gradient due to organic
matter remineralization rather than bottom water
δ13CΣCO2 (Fig. 10.7; McCorkle et al. 1990, 1997).
Mackensen et al. (1993) discuss several ways, how
the δ13C of even epibenthic living foraminifer spe-
cies could be influenced by the decay of organic
matter. An example for the consequences of such a
'Mackensen' effect is discussed by Bickert and
Wefer (1999) for the late Quaternary reconstruc-
tion of South Atlantic deep water circulation. An
extreme depletion in δ13C is recorded in
endobenthic foraminifers sampled from ODP Site
680. Wefer et al. (1994) attributed these excursions
to the release of methane in the continental margin
off Peru sediments, which lowers substantially the
carbon isotopic composition of CO2 in the
porewater. Furthermore, the laboratory experi-
ments with live planktonic foraminifera which
demonstrated symbiont photosynthetic effect on
shell δ18O values (Spero 1992; Spero and Lea
1993) revealed a similar effect on shell δ13C values.
Spero et al. (1997) obtained from experiments with
symbiotic (O. universa) and non-symbiotic (G.
bulloides)  foraminifer species a δ13C/[CO3

2-]
slope of –0.007‰ µmol-1kg-1. Furthermore, Bemis
et al. (2000) showed a clear disequilibrium effect
related to the calcification temperature, which has
recently been approved in a field study by King
and Howard (2004). These effects might partly be
responsible for the shifts observed in foraminiferal
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calcite previously attributed to global changes in
δ13CΣCO2 of the ocean (see discussion in Spero et
al. 1997).

Carbonate Dissolution and Precipitation

Some aspects of the influence of diagenesis on
the isotopic composition of carbonate have al-
ready been discussed for oxygen isotopes (see
Sect. 10.3.2). The isotopic composition of a
carbonatic shell will remain unchanged until the
shell material dissolves and recrystallizes during
diagenesis. As stated above, diagenetic modifica-
tion could begin immediately after deposition or
even in the water column due to corrosive deep
ocean or pore waters. McCorkle et al. (1995)
showed in shells of the benthic foraminifera C.
wuellerstorfi sampled in a depth profile in the
western equatorial Pacific that below the depth of
the modern lysocline the δ13C of this species de-
crease with water depth. Close to the modern
depth of calcium carbonate compensation, the
observed deviation reached a minimum value of
–0.35‰. Since the effect of differential dissolu-
tion would cause a preferential removal of the

light isotope 12C, an increase would be expected
to occur with increasing dissolution. The opposite
is observed and requires therefore other explana-
tions, beside the effect of carbonate ion concen-
tration (Spero et al. 1997).

Under oxic porewater conditions, no further
change in the carbon isotopic composition of
shell material is expected, until dissolution occurs
under deep burial. But while a temperature-effect
is negligible (Emrich et al. 1970), an alteration of
the primary δ13C value may arise during mineral
transformations (aragonite → low Mg-calcite),
depending on the amount of carbon present in the
postdepositional solutions. Under suboxic con-
ditions in sediments with high organic carbon
contents, the carbon isotope signal may be affec-
ted by early diagenesis (Nissenbaum et al. 1972;
Irwin et al. 1977). The degradation of organic mat-
ter will cause an intense degree of carbonate dis-
solution and the reprecipitation of authigenic cal-
cite standing in equilibrium with porewater
δ13CΣCO2. Schneider et al. (1992) estimated for con-
tinental slope sediments off Angola that a precipi-
tation of 5% authigenic calcite on foraminiferal
tests would produce a decrease of –1‰ in the

Fig. 10.7 δ18O and δ13C values of benthic foraminifera species in comparison to equilibrium calcite δ18O values and to
the pore water δ13CΣCO2 gradient, respectively (McCorkle et al. 1990).
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δ13C of these tests. Again, the fractionation of
δ13C during precipitation has only a minor effect
on the carbon isotope composition of the solid
phase, the major effect is determined by the
δ13CΣCO2 of the pore water which itself is control-
led by the degradation of organic matter.

10.5 Geochemical Influences
on 15N / 14N Ratios

10.5.1 δδδδδ15N in Marine Ecosystems

Principles of Fractionation

The use of nitrogen isotopes in marine sediments
is a relatively new tool in the field of paleocea-
nography. The usefulness of this proxy lies in its
recording changes of nutrient dynamics in the
water column. Major biological transformations
of nitrogen in marine systems include the utiliza-
tion of the dissolved forms of inorganic nitrogen
(NO2

-, NO3
-, NH4

+) by phytoplankton, the con-
sumption of phytoplankton by grazers, and the
remineralization of organic nitrogen by animals
and bacteria. In addition, various marine pro-
karyotes are able to carry out a suite of reactions
that move nitrogen in and out of the major
inorganic pools. These include nitrogen fixation
and dissimilatory transformations of nitrogen,
such as nitrification, denitrification, and anae-
robic ammonium oxidation (anammox) which has
recently been recognized as a major sink for fixed
inorganic nitrogen in oxygen minimum zones (e.g.
Kuypers et al. 2003, 2005). The marine nitrogen
cycle involves multiple inorganic and organic
pools which are coupled by rapid biological
transformations of nitrogen (cf. Chap. 6).

Since most marine autotrophs require com-
bined nitrogen as a substrate for growth, the
isotopic composition of dissolved inorganic ni-
trogen acts as a sort of master variable in set-
ting the baseline isotopic composition of marine
plankton. A number of biological processes may
alter the isotopic composition of the marine
pool of inorganic nitrogen. The most important
are nitrogen fixation, nitrification, denitrifi-
cation, and anaerobic ammonium oxidation, all
of which may lead to a net transfer between the
oceanic pool of combined nitrogen and the at-
mosphere. The basic biochemical reactions are
the following:

Nitrogen fixation:
N2 atm. ⇒ organic N (10.14)

It is well known that symbiontic bacteria in the
roots of plants, but also bacteria and algae in the
ocean can fix nitrogen. The high energy needed to
break the triple bond of the nitrogen gas molecule
makes natural nitrogen fixation a process feasable
by only few organisms.

Ammonification:
Norg ⇒ NH4

+    (10.15)

Nitrification:
NH4

+ + 3/2 O2 ⇒ NO2
- + H2O + 2 H+ (10.16)

NO2
- + 1/2 O2 ⇒ NO3

- (10.17)

Although ammonium is the direct product of
decomposition of nitrogenous organic com-
pounds (deamination), most inorganic nitrogen in
the ocean occurs in the form of nitrate. Conver-
sion of ammonia into nitrate is carried out by
nitrifying organism.

Denitrification:
5 (CH2O) + 4 NO3

- + 4 H+ ⇒
                        5 CO2 + 7 H2O + 2 N2 (10.18)

or Anammox:
  NH4

+ + NO2
- ⇒ N2 + 2 H2O    (10.19)

After oxygen is exhausted, nitrate can serve as
electron acceptor in the degradation of organic
matter. Denitrification results in the conversion of
nitrate to nitrogen gas and therefore balances the
biological fixation of nitrogen. If there were no
denitrification or anammox, atmospheric nitrogen
would be exhausted in less than 100 million years.
Denitrification and anaerobic ammonium oxidation
occur in stratified or stagnant water masses of the
ocean (e.g. within oxygen minimum layers) and in
the sea bed.

The main processes involved in the biological
utilization of nitrogen are all associated with
kinetic fractionation effects, nevertheless they
exhibit different fractionation factors. The iso-
tope effect of nitrogen fixation (α = 1.000 to
1.004) is small relative to the effects of bacterial
nitrification, denitrification, or anammox (α = 1.02
to 1.04) (see Montoya et al. 1994: Table 1). The
results by Miyake and Wada (1971) indicate that
little overall isotope fractionation occurs in the

10.5 Geochemical Influences on 15N/14N Ratios
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bacterial mineralization of organic nitrogen. Equi-
librium isotope exchange reactions, which com-
monly occur in nature, are the ammonia vola-
tilization and the solution of nitrogen gas. The
former process has a significant isotopic effect
(α= 1.034), whereas the latter process induces
only a small fractionation (α = 1.0008).

Modern Range of Values and Historical
Variability

The isotopic composition of some important
nitrogen compounds is summarized in Fig. 10.8.
NO3

- dominates the oceanic pool of dissolved
inorganic nitrogen, and the available data indi-
cate that the δ15N of NO3

-  from oxygenated
deep waters ranges between 3‰ and 7‰ with a
mean value around 6‰ (Liu and Kaplan 1989).
The δ15N of NO3

- is significantly higher than
this mean in and around anoxic water masses
where denitrification occurs (Liu and Kaplan
1989). For the eastern tropical North Pacific
Ocean values as high as 18.8‰, for the western
Caribbean Sea values up to 12‰ have been re-
ported to occur within the active denitrification
zone (Cline and Kaplan 1975).

On geological time-scales, the entire nitro-
gen cycle has to be considered to describe the
factors controlling the nitrogen isotopic balance

in the ocean. The major input of nitrogen com-
pounds into the ocean results from precipita-
tion, river discharge and the fixation of molecu-
lar nitrogen. Nitrogen is removed from the ocean
mainly by burial in the sediment and denitri-
fication. Although it is generally assumed that
the nitrogen balance in the ocean is in a steady
state, it is diffcult to estimate the budget for
mass balance as well as for isotopic balance (for
a review of estimates see Gruber and Sarmiento
1997). However, denitrification in the water
column and in the sediment is the dominant
process maintaining mass balance. It is also the
only process that can produce a large fractio-
nation. All other processes add or remove nitro-
gen compounds with δ15N values mostly in the
range between –2‰ and +8‰. Changes in the
global rate of denitrification could therefore
lead to significant changes in the δ15N of
marine NO3

- , which in turn would affect the
δ15N of marine plankton, since the isotopic
composition of the phytoplankton at the base of
the food web depends at least in part on the
δ15N of the dissolved inorganic nitrogen avai-
lable (Altabet and Curry 1989). Today, it appears
that denitrification (and maybe also anammox;
Kuypers et al. 2005) is the principal mechanism
that keeps the marine nitrogen compounds at a
higher δ15N value than atmospheric nitrogen.

Fig. 10.8 δ15N ranges of some important nitrogen compounds (according to Arthur et al. 1983).
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10.5.2 δδδδδ15N in Marine Organic Matter

Principles of Fractionation

The nitrogen isotopic composition of marine or-
ganic matter produced in the photic zone depends
on the isotope ratio of nitrate and the degree to
which this inorganic pool is utilized (Wada 1980;
Altabet et al. 1991; Voss et al. 1996). The preferen-
tial uptake of 14NO3

- leads to a depletion of 15N in
organic matter relative to the dissolved inorganic
nitrogen used as a substrate for growth (Montoya
1994). Subsequently, the remaining nitrogen pool
becomes progressively enriched in 15N according
to Rayleigh fractionation kinetics (Cifuentes et al.
1988). The degree of isotopic fractionation associ-
ated with primary productivity varies between taxa
and with growth conditions. Culture experiments
suggest that diatoms may discriminate more
strongly than flagellates (Wada and Hattori 1978).
The ensuing transfer of nitrogen through trophic
levels is associated with a systematic increase in
δ15N, with each trophic step resulting in an
enrichment of 3.5‰ (Montoya 1994). This effect,
however, should not affect the bulk sedimentary
δ15N values because of mass balance conside-
rations.

An important use of nitrogen stable isotope ra-
tios is the reconstruction of the degree of nitrate
utilization in surface waters at the time the organic
matter was produced. The applicability of this tool
in paleoceanographic studies has been shown
repeatedly (e.g. Altabet and Francois 1994;
Holmes et al. 1997; Freudenthal et al. 2001). To de-
termine changes in the fraction of unutilized ni-
trate in surface waters, Altabet and Francois
(1994) defined the following equations:

δ15NO3
-
(f) = δ15NO3

-
(f=1) - εu · ln (f)

(10.20)

δ15N-PN(f) = δ15NO3
-
(f) - εu

(instantaneous product) (10.21)

δ15N-PN(f) =

δ15NO3
-
(f=1) + f /(1-f) · εu · ln (f)

(accumulated product) (10.22)

where f is the fraction of unutilized NO3
- remaining

(i.e. [NO3
-]/[ NO3

-]initial), εu is the fractionation fac-
tor associated with the NO3

- uptake, and δ15N-PN

and δ15NO3
- refers to the measured δ15N of the

particulate nitrogen and of NO3
-, respectively. The

success of these equations in determining surface
nitrate utilization depends on the estimation of the
fractionation factor εu exhibited by phytoplankton
during photosynthesis. The magnitude of εu sets
an upper limit to the amplitude in δ15N observed.
εu may be obtained from the slope of the regres-
sion line between the photosynthate δ15N (rou-
tinely, sedimentary δ15N is used) and ln[NO3

-]surface.
A limited number of culture experiments with ma-
rine phytoplankton have shown significant varia-
tions in εu between phylogenetic groups (1‰ to
9‰) and growth conditions (0‰ to 16‰; Montoya
1994). Field estimates of εu in regions of moderate
to high nitrate concentrations in the open ocean
have fallen within a narrower range of 5‰ to 9‰
(Altabet and Francois 1994). At 90% utilization of
NO3

-, this latter range in εu corresponds to an in-
crease of 12‰ to 21‰ in δ15N.

 [NO3
-]initial is the nitrate concentration of

newly upwelled water or surface waters before the
onset of springtime productivity. Equation 10.20
underscores that changes in δ15N are in reality a
function of nitrate utilization and not simply
concentration per se. Equation 10.21 refers to
particulate nitrogen produced at any one point in
the course of reaction (instantaneous product)
(Fig.10.9). Observations would fit Equation 10.21,
only if particulate nitrogen is rapidly removed
from the system. On the other hand, if there is no

Fig. 10.9 Effects of nitrate utilization (assuming an εu
of 10 ‰) on the δ15N of the residual nitrate (solide line;
Eq. 10.19), the instantaneous product (broken line; Eq.
10.20) and the accumulated product (heavy line; Eq.
10.21) of a reaction (according to Altabet and Francois
1994) .
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removal of particulate nitrogen from the system, the
change of δ15N within this accumulating pool is
described by Equation 10.22, the integral of Equa-
tions 10.20 and 10.21. However, this latter case
almost never occurs (Altabet and Francois 1994).

A topic of much concern regarding the applica-
tion of bulk δ15N in paleoceanographic investiga-
tions is the effect of terrestrially derived organic
matter on the marine δ15N signal. Since terrigenous
material is mostly substantially depleted in 15N
relative to marine-derived matter, the nitrogen
isotopic composition of ocean sediments have been
used to trace the origin of sedimentary nitrogen
(Sweeny and Kaplan 1980; Wada et al. 1987).
However, the underlying assumption regarding the
mixing of a marine and terrestrial δ15N end members
is not always conclusive because of the wide range
of δ15N values produced in terrestrial systems
(Sweeney et al. 1978). Furthermore, marine values
may be subject to changes produced by processes
in the water column (as discussed above).

Diagenesis

Reconstructing past variations of nutrient condi-
tions in surface waters requires the preservation of
the nitrogen isotope surface-water signal in the
sedimentary organic matter. Diagenesis, however,
may significantly alter the nitrogen isotopic compo-
sition of particles even before they are buried at the
seafloor. Altabet and McCarthy (1985) suggested
that bacterial remineralization of sinking particles
resulted in a 15N enrichment in the residual organic
matter. Francois et al. (1992) reported a 15N
enrichment of 5‰ to 7‰ in core top values of
Southern Ocean sediments compared to measure-
ments of organic matter in the photic zone. However,
Altabet and Francois (1994) demonstrated that there
was only little offset between sinking particles at
150 m water depth in the equatorial Pacific and the
respective core tops. Sigman et al. (1999) suggested
that the difference in preservation of the isotopic
signal existent in the two regions may be explained
with the high opal content in the Southern Ocean
sediments, in which organic matrices with high δ15N
may be captured. In any case, the findings of these
authors suggest that where differences between the
surface-generated signal and sediments exist, the
offset appears to be relatively constant within geo-
graphic regions.

Further decomposition of organic matter occurs
at the sediment/water interface and in the upper
sections of the sediment. However, observations

from equatorial Pacific sediments indicate that the
loss of organic carbon as well as of nitrogen in the
uppermost few millimeters is not accompanied by a
corresponding shift in δ15N over this depth interval
(Altabet and Francois 1994). Freudenthal et al.
(2001) found that early diagenesis in sediments of
the eastern tropical Atlantic led to variability in
δ15N of even less than 1‰. With further diagenesis
of organic matter, nitrogen may occur as ammonium
incorporated in the lattice of clay minerals, where it
replaces potassium. But even this complex
substitution is not associated with an isotopic
effect, since this nitrogen exhibits an isotopic
composition very similar to the organic matter from
which it is derived (Williams 1995). Therefore,
beside the possible fractionation mechanisms,
which may alter the nitrogen isotopic composition
of organic matter in the water column, there seems
to be no significant diagenetic alteration of the
isotope signal within the sediments. The nitrogen
isotopic composition of sediments is primarily de-
termined by the source organic matter.

10.6 Geochemical Influences
on 34S / 32S Ratios

10.6.1 δδδδδ34S of Seawater and Pore Waters

Principles of Fractionation

In the marine environment, sulfur occurs most
commonly in its oxidized form as dissolved sulfate
in seawater or as precipitated sulfate in evaporites
and in its reduced form as sedimentary pyrite. The
ratio of 34S/32S is a sensitive indicator for the

Fig. 10.10 Main reservoirs of the sedimentary sulfur
cycle (adopted from Strauss 1997).
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transfer of sulfur between the different reservoirs,
which is often associated with a change in the
oxidation state of the element. The main processes
to be considered in the sulfur cycle are the
riverine input of sulfate as a weathering product
of sulfur-bearing rocks, the precipitation of
evaporites from seawater and the biological
reduction of seawater sulfate and subsequent
formation of sedimentary pyrite (Fig. 10.10). The
associated fractionation mechanisms are therefore:

• isotope exchange reactions between sulfate
and sulfides

• kinetic isotope effects in the bacterial reduc-
tion of sulfate or in the oxidation of sulfides

Only a small fractionation is associated with
the precipitation of sulfates in seawater. Theoreti-
cal considerations as well as sulfur-isotope meas-
urements in natural environments revealed an iso-
topic difference between seawater sulfate and

crystallized gypsum of 0 to +2.4‰ (Raab and
Spiro 1991). Therefore, within the generally ob-
served variability in an evaporitic deposit, calcium
sulfate is assumed to record the isotopic composi-
tion of seawater sulfate at the time of deposition
(Claypool et al. 1980; Strauss 1997).

By far the largest fractionation is associated
with the bacterial sulfate reduction (see a recent
review by Canfield 2001). Due to the activity of
sulfate-reducing bacteria, such as Desulfovibrio
desulfuricans, organic matter is oxidized accor-
ding to the following equation:

      2 (CH2O) + SO4
2- ⇒ H2S + 2 (HCO3

-) (10.23)

The resulting hydrogen sulfide reacts with
sedimentary iron, which is available in the reactive
non-silicate bond form (oxy-hydroxydes), and is
fixed as iron sulfide (e.g. pyrite). In general, a
substantial depletion of δ34S occurs due to
preferential utilization of the 32S-isotope by the
sulfate reducing bacteria. Whereas the fractionation

Fig. 10.11 Variation of sulfate and sulfide concentration and δ34S values of pore water in core 2092 from the western
Baltic Sea (Hartmann and Nielsen 1969).
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is small during the entrance of sulfate into the cell (-3
to 0‰), the subsequent breaking of the S-O bonds
is causing a large change  in the isotope
composition of the reactants (SO4

2- => SO3
2- : 22‰,

SO3
2- => H2S: up to 18‰; see Canfield 2001). As a

result, sedimentary sulfide is depleted in 34S relative
to ocean water sulfate (Kaplan and Rittenberg 1964).
The depletion is usually in the order of 20‰ to 70‰
(Hartmann and Nielsen 1969; Ohmoto 1990),
although cultural experiments yielded only deple-
tions between 10‰ and 30‰, with a maximum repor-
ted value of 49‰ (Kaplan and Rittenberg 1964;
Bolliger 2001). The much larger fractionation
ocurring under natural conditions   may be genera-
ted by a concurrent recycling of H2S via an interme-
diate oxidation to elemental sulfur or thiosulfate by
buried Fe(III) and a disproportionation of these in-
termediates to SO4

2 - and H2S (Jørgensen 1990;
Habicht and Canfield 1997). The disproportionation
shunts produce 34S-enriched SO4

2 - and 34S-depleted
H2S and thereby increase the resulting isotopic diffe-
rence between SO4

2 - and H2S in the sediment pore
water (for a recent discussion see Canfield 2001).

The extent of depletion during bacterial sulfate
reduction is affected by the magnitude of reduction
rates and by the availability of sulfate. Generally, an
increasing rate of sulfate reduction leads to a
decrease in fractionation. Furthermore, if the
availability of sulfate is reduced, e.g. through
limited diffusion in non-bioturbated or impermeable
sediments, the isotopic composition of both
reactant and product shifts towards higher values.
Such a Rayleigh fractionation process has been
shown by Hartmann and Nielsen (1969) for
dissolved sulfate and sulfide in the pore water of a
core retrieved from the western Baltic Sea (Fig.
10.11). The δ34S-values of both reactant and
product increase with depth, because the two
isotopes in sulfate or in sulfide do not diffuse in
the same proportion as they occur in the pore
water (Jørgensen 1979).

Fractionation also occurs during processes in
the oxidative part of the sulfur cycle. Sulfide
oxidation, which is pervasive in marine environments
(for example, 90% or more of the sulfide produced
during sulfate reduction in coastal sediments are
reoxidized) includes various processes, which are all
associated with inverse isotope fractionation effects.
These processes include the phototrophic oxidation
by a  variety of anoxygenic bacteria (-2 to 0‰), the
non-phototrophic oxydation (up to -18‰), and the
already mentioned disproportionation of sulfur
compounds with intermediate oxidation states as

elemental sulfur or thiosulfate (up to -33 ‰)
(Canfield 2001).

Modern Range of Values and Historical
Variability

The isotopic composition of sulfur in modern
ocean sulfate is constant within very narrow limits
and is represented by a δ34S-value of +20‰ with a
standard deviation of ±0.12‰ (Longinelli 1989).
The small isotopic range over a great variety of
localities and at various depths is explained with
the residence time of sulfate in the ocean which is
well in excess of the ocean mixing time (Holland
1978). This sulfate homogeneity should be consi-
dered for the evaluation of isotope data analyzed
in ancient deposits.

The sulfur isotopic composition in oceanic sulfate
through Phanerozoic time shows a Cambrian maximum
of about +30‰, a decrease to a Permian minimum of
about +10‰ and an increase towards the modern
ocean value of +20‰ (Claypool 1980; Strauss 1997).
Superimposed over this long-term secular variation is
a pronounced short-term variability exhibiting about
the same isotopic range as documented for the entire
Phanerozoic. The observed variations are assumed to
reflect changes in the sulfur redox cycle within the
ocean. Since bacterial sulfate reduction and the sub-
sequent formation of sedimentary pyrite is associated
with a substantial fractionation, any changes in the
isotopic mass balance are generally interpreted as
changes in the burial of reduced sulfur. Furthermore,
both the rate of sulfur input and its isotopic composi-
tion may vary as a function of time depending on the
weathering rates of different sedimentary rocks, or on
the intensity of volcanic activity. For example, in-
creased erosion of black shales containing 34S-de-
pleted sulfides may lower the δ34S value of oceanic
sulfate. On the other hand, the increased reduction of
sulfate by bacteria and removal of 34S-depleted
sulfide from the ocean may increase its δ34S value.
However, the fact that the deposition of evaporites in
the Phanerozoic history occurred in rather short
episodes raises the question about the validity of the
sulfate isotope curve with respect to representative-
ness and homogeneity. The specific causes for the
variation of δ34S of marine sulfate at a particular
geologic time interval are still largely speculative (for
further discussion see Strauss 1997).

A special case in the modern ocean sulfur iso-
tope distribution is the isotopic composition of hy-
drogen sulfide in anoxic basins. Fry et al. (1991)
compared depth profiles of the Black Sea and the
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Cariaco Basin. Sulfide isotopic compositions in
deep waters of the Black Sea were roughly con-
stant near –41.5‰, while those of the Cariaco
Trench averaged –31‰. In contrast, in the upper-
most 50 m of the Black Sea’s sulfidic waters (that
is in water depths between 100 and 150m) the
sulfide isotopic compositions change significantly
in a region of sulfide consumption, increasing up
to 5‰ vs. the deep-water background. These in-
creases may be due to sulfide oxidation mediated
by MnO2 or oxygen, but are not consistent with
sulfide oxidation by photosynthetic bacteria (Fry
et al. 1991). Growth experiments with sulfate-re-
ducing bacteria suggested that part of the
increase in sulfide isotopic compositions could be
attributed to rapid rates of sulfate reduction in the
oxic/anoxic interface region.

10.6.2 δδδδδ34S in Marine Sediments

Evaporitic Sulfate

The general aspects of isotopic fractionation dur-
ing the evaporation of sulfates have been ad-
dressed in the previous section. Due to a minor
fractionation during precipitation, marine eva-
poritic sulfates are assumed to reflect the original
seawater signature. However, exceptions might oc-
cur in sulfates precipitated during late stages of
evaporation. Sulfur isotope measurements from the
Permian Zechstein in Germany (e.g. Nielsen and
Ricke 1964) and experiments by Raab and Spiro
(1991) indicate that sulfate deposited within the
halite or even the potash-magnesia facies is de-
pleted in 34S in comparison to sulfate precipitated
within the calcium sulfate facies. Progressive crys-
tallization of 34S-enriched sulfate minerals results
in a residual brine depleted in 34S, by possibly as
much as 4‰. Therefore, to obtain a true record of
seawater sulfate isotopic composition in the past
no late-stage sulfates should be included.

Sedimentary Pyrite

Modern sedimentary pyrites are generally de-
pleted in 34S relative to ocean water sulfate with
average δ34S-values around –20‰ and a range be-
tween +20‰ and –50‰. The majority of isotopic
compositions of pyrites in modern sediments indi-
cate the sedimentary sulfides having formed
through bacterial sulfate reduction under open
system conditions with respect to sulfate avail-
ability. These measurements agree well with ex-
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perimental data as discussed above. However,
higher values have been reported for pyrites
formed under anoxic bottom-water conditions like
in the Black Sea (Vinograd et al. 1962; Lyons and
Berner 1992). They are interpreted to result from
an open-system diagenesis combined with the
effect of differential diffusion (Jørgensen et al.
2004).

During Earth history, the isotope fractionation
between contemporaneous seawater sulfate and
sedimentary reduced sulfur compounds like pyrite
increases (Shen et al. 2001). With a few
exceptions, sulfur isotope fractionations seem to
have been negligible during the Archean but
increased during the Proteozoic, presumably as a
consequence of increased oceanic sulfate
concentrations (Habicht et al. 2002). In sediment
deposits younger than about 800 Myr, as in mo-
dern anoxic systems like the Black Sea, sulfur
fractionations often exceed what appears to be
the maximum reached during sulfate reduction in
surface sediments as well as in cultures of sulfate
reducers, as has been mentioned above. The iso-
tope record for sedimentary sulfides of
Phanerozoic age shows a much higher variability
than observed for marine sulfates (Strauss 1997).
Beside a long-term trend with a Cambrium maxi-
mum of about +2 ‰, a Permian to Cretaceous mini-
mum around –30 ‰ and an increase to about
–10 ‰ to –20 ‰ in the modern ocean sediments,
there is a considerable variation as high as 80 ‰
within a single sedimentary unit. The observed
range clearly reflects that in addition to the fac-
tors which control the sulfate isotopic composi-
tion in ancient seawater, changes in the geo-
chemical conditions during sulfate reduction and
pyrite formation may affect the d34S of sulfides.
For example, changing bottom-water conditions
(oxic to anoxic and vice versa) during the time of
deposition may alter the conditions for pyrite for-
mation. The amount of pyrite formed in sediments
is known to be limited by (1) the amount of
metabolizable organic matter (2) the amount of
sulfate and (3) the amount of reactive iron. Under
normal marine conditions, the amount of organic
matter limits the reduction process (Raiswell and
Berner 1986). This is documented in a positive
correlation of organic carbon and pyrite sulfur
through geologic history (Berner and Raiswell
1983). In anoxic environments, reactive iron ap-
pears to be the limiting factor for pyrite formation,
since the amount of H2S exceeds its removal by
the reaction with iron (Raiswell and Berner 1985).
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In that case, some H2S diffuses back to the sedi-
ment surface, where it is reoxidized, whereas some
H2S undergoes further reactions. All these
processes are associated with different fractio-
nation effects on the sulfur isotopic composition
of sulfides.

In addition to these primary, syngenetic
effects, the isotope variability may reflect the
diagenetic history of the sediments with a
progressive evolution from early to late dia-
genetic sulfides (i.e. framboids to concretions
or overgrowth). In summary, due to the large
number of processes that might affect the iso-
topic composition of sulfides, their potential
for interpreting features of the Phanerozoic
sulfur cycle appears to be rather limited
(Strauss 1997).

10.7    Geochemical Influences on
11B / 10B Ratios

10.7.1 δδδδδ11B of Seawater and Pore Waters

Principles of Fractionation

In ocean water, boron occurs in two dominant
species, boric acid B(OH)3 and borate B(OH)4

-. The
relative concentration of these two species is pH
dependent such that the boric acid B(OH)3 is domi-
nant at pH < 9.0, whereas the tetrahedral complex of
B(OH)4

- dominates at pH >9.0 (Fig.10.12; Hemming
and Hanson 1992). The principal process that
causes fractionation of boron isotopes in aqueous
solutions is the following exchange reaction:

10B(OH)3 + 11B(OH)4
- ⇔ 11B(OH)3 + 10B(OH)4

-

(10.24)

In seawater, B(OH)3 is enriched in 11B compared
to B(OH)4

- by 23‰ at 25°C (Kakihana et al. 1977).
Consequently, as the relative concentration of the
dissolved species changes with pH, also their
isotopic composition changes, but with a constant
offset (Fig. 10.12).

Modern Range of Values and Historical
Variability

The δ11B value of modern ocean water is constant at
about 40‰, relative to  average continental material
like the borax at Searles Lake, California, which
serves as a standard reference material for boron
isotope analyses (see Tab. 10.1).The 11B enrichment
of seawater is explained with the preferential
absorption of 10B(OH)4

- by hydrothermally altered
basalts of the oceanic crust, by clay-rich marine
sediments, and by the precipitation of carbonate
minerals (e.g., Hemming and Hanson 1992).  Typical
values for geologically important reservoirs
summarized by Hoefs (2004) range between -2 to
+10‰ for (altered) oceanic basalts, -18 to +20‰ for
clay-rich sediments, and +18 to +35‰ for marine
evaporites. Varying δ11B values in geologic history
might reflect changes in the relative contribution of
boron from different reservoirs, especially due to
selective erosion of rocks or enhanced production
and alteration of fresh marine basalts, or by changes
in the oceanic pH value in the past (see separate
paragraph below).

Fig. 10.12 Relative abundance of boron acid and borate
in seawater, and their isotopic composition versus pH
(according to Hemming and Hanson 1992).
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10.7.2 δδδδδ11B in Marine Carbonates

Principles of Fractionation

Diverse biogenic and inorganic marine
carbonates record boron isotopic compositions
close to the boron isotopic composition of
B(OH)4

- at modern seawater pH. Therefore,
Hemming and Hanson (1992) suggested that it is
the charged borate species that is preferably
incorporated into marine carbonates. This
interpretation has been confirmed by a number of
empirical calibration studies on inorganic calcium
carbonates (Hemming et al. 1995; Sanyal et al.
2000), corals (Hönisch et al. 2004; Reynaud et al.
2004), and planktonic foraminifers (Sanyal et al.
1996; Sanyal et al. 2001) over a wide range of
culture water pH. Although biogenic carbonates
and even  inorganic-precipitated calcite show
δ11B offsets of up to 4‰ relative to the theo-
retical borate curve, all empirical calibration
curves follow the shape of the theoretical curve
and therefore support the validity of the calcu-
lated isotope fractionation factor by Kakihana et
al. (1977) (cf. Fig. 10.13).

However, the causes for these offsets are yet
not completely understood. Culture experiments
using living planktonic foraminifers (Hönisch et al.
2003) and numerical modeling experiments (Zeebe

et al. 2003) identified physiological processes,
such as symbiont photosynthetic activity,
respiration and calcification, to be important.
These processes influence the pH in the
microenvironment of foraminifers and corals, and
lead to specific offsets relative to seawater pH.
Because the observed offsets between different
carbonate producers are constant across the pH-
range investigated, it is likely that the boron
isotope fractionation related to these physiolo-
gical processes is not influenced by the varying
pH itself. Nevertheless, an important conse-
quence resulting from these observations is the
effect on shell precipitation during the life cycle of
foraminifers. δ11B data measured in different shell
size classes of the symbiont-bearing planktonic
foraminifer species Globigerinoides sacculifer
showed a significant increase of δ11B with
increasing shell size (Hönisch and Hemming 2004),
which could only be explained by a deeper growth
habitat of smaller shells, where symbiont photo-
synthetic activity is reduced because of lower
light levels. In addition to the original shell size
effect, Hönisch and Hemming (2004) discovered
that partial shell dissolution significantly lowers
δ11B. Because of the greater dissolution suscep-
tibility of smaller shells the diagenetic effect on
δ11B was even more pronounced in shells of
decreasing shell size (Fig. 10.14).

Application as a paleo-pH proxy

One of the first studies that the boron isotopic
composition in planktonic foraminifera shells
reflects climate driven changes in marine carbonate
chemistry was provided by Sanyal et al. (1995),
who demonstrated an approximately 0.2 unit higher
pH in the Last Glacial Maximum surface water
compared to today. Other surface ocean boron
isotope studies estimated the strength of modern
and past upwelling areas in the Holocene and late
Pleistocene. In a comparative study of the northwest
African and eastern equatorial Pacific upwelling
zones Sanyal and Bijma (1999) proposed that the
eastern equatorial Pacific upwelling system was a
significantly larger source of CO2 to the atmo-
sphere during the last glacial period compared to
the eastern Atlantic upwelling zone. Similarly,
Palmer and Pearson (2003) reconstructed surface
water pH and aqueous pCO2 in the western
equatorial Pacific over the past 23 ky and
suggested that this area was a strong source of
CO2 to the atmosphere during the last deglaciation.

Fig. 10.13 Empirical δ11B calibrations of laboratory
precipitated inorganic calcite and cultured biogenic
carbonates vs. pH.

10.7 Geochemical Influences on 11B/10B Ratios
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Although still limited in their spatial coverage, the
studies cited above provide strong support for
using the boron isotope pH proxy to evaluate the
role of different ocean parts to estimate past
sources and sinks of CO2 to the atmosphere.
However, the application of the boron isotope
proxy in mixed benthic foraminifera species for
deep ocean pH reconstruction led to some doubt,
because it suggested a 0.3 units higher glacial pH
(i.e., +2.5‰ in δ11B) compared to modern deep
water pH (Sanyal et al. 1995), which is not corrobo-
rated by sedimentary records of glacial calcite pre-
servation suggesting no significant change in deep
ocean carbonate ion concentration and pH. But this
too large increase in pH was most probably due to
the use of mixed benthic species instead of a single
species, only (B. Hoenisch, pers. comm.).

Pearson and Palmer (2000) extended the δ11B
application to the Paleogene and estimated a pH of
7.4 and corresponding pCO2 values higher than 2000
ppmv for the early Eocene time period. However,
several uncertainties may limit the confidence in
their interpretation, because of the residence time of
boron in the ocean of only 3-5 million years
(Lemarchand et al. 2000) and the use of extinct

foraminifer species without a significant crosscali-
bration against modern species. So far, such records
need to be interpreted with caution, and conside-
rable efforts will have to be made to improve confi-
dence in pre-Quaternary reconstructions.
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10.8 Problems

Problem 1

Antarctic and Greenland ice sheets store today
about 2 % of the ocean water mass with an
average δ18O value of -45‰. What would be the
δ18Ow value of an ice-free world?

Problem 2

A number of authors have proposed that the
0.3‰ lower δ13C mean ocean value during the
last glacial maximum (about 21000 years ago)
resulted from an increased erosion of organic
carbon from terrigenous soils and shelf sedi-
ments during a drop in sea-level as a result of
continental glaciation. Assuming an oceanic
carbon mass of 38,000 Gt and an average δ13C
value of terrestrial organic carbon of -25‰,
calculate the transfer of organic carbon from the
terrestrial to the oceanic reservoir necessary to
explain the carbon isotope shift. Is the result
realistic? What other explanations would be
reasonable?

Problem 3

Given the range of b-values (equation 10.9)
between 80 and 160 ‰µM as derived from
South Atlantic core tops (Schulte et al. 2003),
what would be its effect on atmospheric pCO2
assuming an εp of 12‰, an enzymatic frac-
tionation εf of 25‰, and a solubility coefficent
α = 0.032 at 20°C?

Fig. 10.14 δ11B of symbiont-bearing planktonic forami-
nifer species from core-top samples at the different water
depth on the Ontong Java Plateau, western equatorial
Pacific (Hoenisch and Hemming 2004). Ω values indicate
the carbonate saturation with respect to calcite at diffe-
rent sites.
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11 Manganese:
Predominant Role of Nodules and Crusts
GEOFFREY P. GLASBY

11.1 Introduction

The importance of manganese in the marine
environment can be deduced from the fact that it is
the tenth most abundant element in the Earth’s crust
(av. conc. 0.093%) and is available in two valency states
whose stability boundary lies within the range of the
natural environment (Glasby 1984). Manganese oxides
also have a high adsorption capacity. δMnO2, for
example, has a surface area of about 260 m2 g-1 and a
pHzpc of 2.25 and can therefore adsorb cations such as
Ni2+, Cu2+ and Zn2+ from natural waters. By comparison,
iron is the fourth most abundant element in the Earth’s
crust (av. conc. 5.17%) giving an average Mn/Fe ratio
of 0.02. It also occurs in two valency states whose
stability boundary lies within the range of the natural
environment. Fe oxyhydroxides have a high ad-
sorption capacity and large surface area. Goethite has
a pHzpc of 7.1 and can adsorb both cations (REE3+) and
anions (e.g. PO4

3-, MoO4
2-and WO4

2-).
Both elements can therefore migrate under the

influence of redox gradients. They can also fractionate
from each other, particularly under acid or reducing
conditions such as in lakes and shallow seas or in
marine sediments. FeS2 plays a major role in separating
Mn and Fe in anoxic marine environments such as in
Baltic Sea sediments where SO4

2- ions are present. The
reduced form of manganese, Ca-rhodochrosite (Ca-
MnCO3), is much rarer than FeS2 but it is found in
environments such as Gotland Deep sediments. Mn is
more mobile than Fe. Mn therefore migrates more
readily than Fe but Fe deposits more readily than Mn.
This leads to the fractionation of Mn from Fe as, for
example, in submarine hydrothermal systems or in
anoxic environments such as Baltic Sea deeps.

The formation of huge quantities of manganese
nodules and crusts on the deep-sea floor is a function
of the fact that manganese and iron are relatively
abundant in the Earth’s crust and migrate from less

oxidizing to more oxidizing environments. The
increased glaciation of Antarctica about 12 Ma led to
the initiation of Antarctic Bottom Water (AABW) flow
and the increased ventilation of the deep ocean. The
modern, well-oxygenated deep-sea has therefore
become the ultimate repository for manganese. Deep-
sea Mn nodules formed since the lower Miocene un-
conformity (12 Ma) hold about 1011 t of Mn (about 16
times the total Mn in terrestrial deposits) reflecting
the importance of manganese nodules in the global
cycle of manganese (Glasby 1988). The high contents
of Co, Ni, Cu and Zn in manganese nodules and crusts
make these deposits an important potential economic
resource for these elements and are a function of the
sorption characteristics of the manganese and iron
oxyhydroxides.

11.2 Manganese, Iron and
Trace Elements in Seawater

Manganese occurs in seawater mainly as Mn2+ or
MnCl+ (Bruland 1983). The dissolved Mn concentration
in the open ocean is in range 0.2-3 nmol kg-1 which is
above the equilibrium concentration with respect to
MnO2 or MnOOH. This situation reflects the slow rate
of oxidation of Mn2+ in solution.

Figure 11.1 shows the vertical distribution of Mn in
seawater at the VERTEX-IV site situated in the centre of
the central North Pacific subtropical gyre, a region of
low biological productivity (Bruland et al. 1994). The
high content of Mn in the surface waters reflects the
input of eolian material into this region from Asia.
Photoreduction of particulate MnO2 to Mn(II) takes
place in the surface waters resulting in 99% of the Mn
in the surface waters (0-100 m) being in the dissolved
form. By contrast, only 80% of the Mn in the deep water
(500-4,000 m) is in the dissolved form. Mn therefore
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behaves in seawater as a scavenged-type metal.
Bacterial mediation plays a key role in the scavenging
and oxidation of dissolved Mn in intermediate and
deep water. The higher concentration of particulate
Mn in North Atlantic deep water (0.15 nmol kg-1) than
in central North Pacific deep water (0.05 nmol kg-1)
reflects the higher input of eolian material into the
Atlantic compared to the Pacific Ocean.

Mn is also influenced by redox processes in the
water column. Both dissolved and particulate Mn
display maxima at the oxygen minimum zone which
occurs at a depth of 500-1,000 m in the central North
Pacific (Fig. 11.1). In this case, the maximum dissolved
Mn concentration in the oxygen minimum zone is
about 0.4 nmol kg-1. This high concentration was
considered to be the result of lateral transport of Mn
from the continental margins to the open ocean along
the oxygen minimum zone (Martin et al. 1985) and to
be particularly important in the highly oxygen-deficient
waters of the oxygen minimum zone in parts of the
eastern North Pacific Ocean (Burton and Statham 1988).
However, Johnson et al. (1996) have subsequently
argued that a decrease in the oxidation rate of Mn (II)
within the oxygen minimum zone is a more likely
mechanism for the enrichment of manganese there,
thus obviating the need for the lateral transport of Mn
from the continental margins.

About 90% of the Mn introduced to the oceans
has a hydrothermal origin (Glasby 1988). Hydrothermal
Mn anomalies in seawater can be detected over 1,000
km from the source in the Pacific Ocean (Burton and
Statham 1988). When hydrothermal fluids are

discharged at the sea floor, a buoyant hydrothermal
plume is formed on mixing of the hydrothermal fluid
with seawater (Lilley et al. 1995; Lupton 1998; German
and Van Damm 2004). The plume can rise tens to
hundreds of meters above the sea floor to a level of
neutral buoyancy where it forms a distinct hydro-
graphic layer with a distribution extending tens to
thousands of kilometers from the vent. The dilution
factor of the vent fluid with respect to seawater is of
the order of 104-105. In the first centimeters to meters
above the vent, up to 50% of the iron is precipitated
as sulfides. The chalcophile elements (Cu, Zn, Cd and
Pb) tend to be incorporated in the sulfide minerals at
this stage. The remaining Fe is precipitated over a
longer time period as fine-grained iron oxyhydroxide
particles. The half life for Fe (II) precipitation is 2-3
minutes. The iron oxyhydroxide particles scavenge
anionic species such as HPO4

2-, CrO4
2-, VO4

2- and
HAsO4

2- as well as the rare earth elements (REE).
Precipitation of particulate Mn oxides takes place much
more slowly, mainly in the neutrally buoyant plume
where the oxidation is bacterially mediated. Because
of the slow precipitation rate, particulate Mn concen-
trations increase in the plume to a maximum 80-150 km
from the vent. 80% of the hydrothermal Mn is de-
posited on the sea floor within several hundred km of
the vent field but the remaining Mn still raises the
background concentration of Mn in seawater several-
fold (Lavelle et al. 1992). The residence time of
hydrothermal Mn in seawater is several years. German
and Angel (1995) have estimated that the total hydro-
thermal Mn flux to the oceans is 6.85·109 kg yr-1. This

Fig. 11.1 Vertical pro-
files of (a) dissolved man-
ganese (nmol kg-1) and (b)
particulate manganese
(nmol kg-1) at the VER-
TEX-IV site (after Bruland
et al. 1994). For
particulate manganese,
filled circles represent the
acetic acid leachable frac-
tion and open triangles
represent refractory man-
ganese.
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compares with the flux of Mn from the rivers of 0.27·109

kg yr-1 (Elderfield and Schulz 1996) confirming the
original calculation of Glasby (1988).

The predominance field of Mn in seawater (Glasby
and Schulz 1999) is best illustrated by the use of an
EH, pH diagram (Fig. 11.2). At the conditions prevalent
in seawater (EH +0.4 V, pH 8), the stable form of Mn is
seen to be the aqueous species, Mn2+, and not any of
the solid phases of Mn. The fact that Mn oxides are
abundant on the seafloor can be explained on the basis
that the Mn oxyhydroxides initially formed in seawater
(β-manganite) are not pure mineral phases but have
significant concentrations of transition elements and
are fine grained, both of which help to stabilize them
(Glasby 1974). In fact, 10 Å manganate and δMnO2 are
the principal manganese oxide minerals found in deep-
sea manganese nodules (see section 11.4.8) but the
free energies of formation of these fine-grained
minerals have not been determined.  However, the fact
that the aqueous species of Mn appear more stable
than any of the solid phases of Mn under deep-sea
conditions probably explains the slow rate of oxidation
of Mn in sea-water.

The kinetics of oxidation of Mn2+ in seawater have
been discussed by Murray and Brewer (1977) and the
following reaction sequence has been proposed.

Mn(II) + O2 → MnO2 s slow

Mn(II) + MnO2 s → (Mn(II).MnO2) s fast

(Mn(II).MnO2 ) s + O2 → 2MnO2 s slow

–d(Mn(II))/ dt → ko(Mn(II)) +
                           k1(Mn(II))(MnO2 s)(PO2)(OH-)2

This rate law demonstrates that the oxidation of
Mn (II) in seawater is autocatalytic. From this equation,
it was calculated that it would take about 1,000 years
to oxidize 90% of the Mn present in seawater. Surface
catalysis on MnO2 or FeOOH or bacterial oxidation is
therefore required to increase the rate of deposition of
Mn2+ from solution (Cowen and Bruland 1985;
Mandernack et al. 1985; Ehrlich 1996; Hastings and
Emerson 1986; Tebo et al. 1997, 2004). Giovanoli and
Arrhenius (1988) also proposed that the surface cata-
lyzed oxidation of Mn2+ by FeOOH is a rate-control-
ling step in the formation of marine manganese

Fig. 11.2 EH, pH diagram for Mn calculated for the chemical conditions prevailing in the deep sea (after Glasby and
Schulz 1999). Note that, under seawater conditions and at an EH, of +0.4 V and a pH of 8, the stable form of Mn is the
aqueous species, Mn2+, and not any of the solid phases of Mn.
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deposits. Rate equations and rate constants for the
oxidation of manganese in seawater based on field data
have been determined by Yeats and Strain (1990), von
Langen et al. (1997) and Morgan (2005).

By contrast, the form and concentration of iron in
seawater remain poorly known because of the pro-
nounced tendency of Fe(III) species to hydrolyze in
aqueous solution (Bruland 1983) (see Chap. 7). Iron
occurs in seawater mainly in the hydrolyzed forms
Fe(OH)3° and Fe(OH)2

+ and as FeCl+. The concentration
range of Fe in seawater is 0.1-2.5 nmol kg-1 giving a Mn/
Fe ratio of about unity which is much greater than that
in the Earth’s crust.

Figure 11.3 shows the vertical distribution of Fe in
seawater at the VERTEX-IV site (Bruland et al. 1994).
Dissolved Fe shows a maximum concentration in the
surface mixed layer (0.35 nmol kg-1) but this declines to
a minimum in the subsurface stratified layer (70-100 m)
(0.02 nmol kg-1). The high concentration of Fe in the
surface waters reflects the strong eolian input into this
region. The Fe in the surface layer is rapidly consumed
by plankton but is recycled within days. Below 100 m,
dissolved Fe displays a nutrient-type distribution. In
deep water, the dissolved Fe concentration reaches a
value of 0.38 nmol kg-1 Fe. Iron is a limiting nutrient in
open-ocean surface waters characterized by high nitrate
and low chlorophyll contents. Proposals have been
made to seed the oceans with Fe in order to stimulate
phyto-plankton growth which would hopefully reduce
the levels of atmospheric CO2 (de Baar et al. 1995;
Fitzwater et al. 1996). Johnson et al. (1997) have recently
presented a model describing the factors controlling
the dissolved Fe content in seawater.

Particulate Fe does not show an eolian influence
in the surface layer and its distribution is more
constant with depth. 48% of Fe in the surface water
(0-100 m) is in the dissolved form and 55% in deep
water (500 -4,000 m). Most of the particulate Fe in the
intermediate and deep water is in the form of refractory
alumino-silicate minerals of eolian origin. The higher
concentration of particulate Fe in North Atlantic deep
water (1.2 nmol kg-1) than in central North Pacific
deep water (0.3 nmol kg-1) again reflects the higher
input of eolian material into the Atlantic compared to
the Pacific Ocean.

Fe behaves in seawater in part as a scavenged-
type element and in part as a nutrient-type element
as shown by the strong correlation of dissolved Fe
with nitrate and phosphate at depths below 100 m.

The stability field of Fe in seawater is best
illustrated by the use of an EH, pH diagram (Fig. 11.4).
Solid Fe(OH)3 is shown as the metastable form of
iron at the conditions prevalent in sea-water (EH  +0.4
V,  pH 8). Actually, akagenéite (β-FeOOH) is the more
stable form found in deep-sea manganese nodules
(see Sect. 11.4.8) but its free energy of formation has
not been determined.

Of the trace elements that are of most interest in
the formation of manganese nodules, Co is present
in deep ocean water at concentrations of <0.1 nmol
kg-1, mainly as Co2+, CoCO3° and CoCl+ (Bruland 1983;
Burton and Statham 1988; Nozaki 1997). Its extremely
low concentration suggests that it is rapidly removed
from seawater, probably scavenged by manganese
oxides. Ni is present in deep ocean water at concen-
trations of about 10 nmol kg-1, mainly as Ni2+ , NiCO3°

Fig. 11.3 Vertical profiles of
(a) dissolved iron (nmol kg-1)
and (b) particulate iron (nmol
kg-1) at the VERTEX-IV site
(after Bruland et al. 1994). For
particulate iron, filled circles
represent the acetic acid leach-
able fraction and open trian-
gles represent refractory iron.
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and NiCl+, and displays a nutrient-type behavior in
seawater. Cu is present in deep ocean water at
concentrations of about 6 nmol kg-1, mainly as
CuCO3°, CuOH+ and Cu2+, and has a distribution
intermediate between that of nutrient-type elements
and Mn. Zn is present in deep ocean water at
concentrations of about 8 nmol kg-1, mainly as Zn2+,
ZnOH+, ZnCO3°, and ZnCl2+, and displays a nutrient-
type behavior in seawater.

Trace metals in seawater can be characterized as
scavenged-type or nutrient-type elements (Bruland
et al. 1994; Bruland and Lohan, 2004). On this basis,
Co is mainly a scavenged-type element, Ni and Zn
are nutrient-type elements, Fe displays an inter-
mediate behavior and Mn is a scavenged-type
element strongly influenced by redox processes.
Nutrient-type elements have much longer deep-sea
residence times than scavenged-type elements. For
Zn, this has been estimated to be 22,000 - 45,000
years, for Fe 70 - 140 years and for Mn 20 - 40 years.
The residence times for Fe and Mn are short com-
pared to the general oceanic turnover time of about
1,500 years (Bender et al. 1977). The rapid removal
of Mn from seawater accounts for its significant
fractionation between oceanic basins as well as the
widespread occurrence of manganese deposits on
the deep-sea floor.

11.3 Sediments

11.3.1 Manganese, Iron and Trace
Elements in Deep-Sea Sediments

The distribution of elements in deep-sea sediments
has been discussed by Bischoff et al. (1979), Stoffers
et al. (1981, 1985), Meylan et al. (1982), Aplin and
Cronan (1985), Baturin (1988), Chester (1990), Glasby
(1991) and Miller and Cronan (1994).

Deep-sea sediments cover more than 50% of the
earth’s surface and consist of carbonates, red clay
and siliceous ooze (cf. Chap. 1). On average, red clay
covers about 31% of the world’s ocean basins but its
abundance is much higher in the Pacific (49%) than
in the Atlantic (26%) and Indian (25%) Oceans
(Glasby 1991). Carbonates act as a diluent for the
transition elements in deep-sea sediments because
of the low contents of these elements in them and
the composition of deep-sea sediments is therefore
often presented on a carbonate-free basis.

Red clays are mainly allogenic in origin (Glasby
1991). In the Pacific, this allogenic component is
dominantly eolian dust. The high input of dust from

Fig. 11.4 EH, pH diagram for Fe calculated for the chemical conditions prevailing in the deep sea (after Glasby and
Schulz 1999). Note that, under seawater conditions and at an EH, of +0.4 V and a pH of 8, the metastable form of Fe is
Fe(OH)3 and the stable forms magnetite ((Fe, Mg) Fe2O4) and maghemite (Fe2O3).
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the deserts of central Asia explains the higher sedimen-
tation rates of the noncarbonate fraction of sediments
from the North Pacific (0.5-6 mm ka-1) than those of
sediments from the South Pacific (0.4 mm ka-1). Because
of its composite origin, red clay has a similar
composition to that of average shale. However, a num-
ber of elements are enriched in red clay relative to
average shale. These include the transition elements
(Mn, Co, Ni, Cu) and Ba (Table 11.1). The transition
elements constitute the authigenic fraction of the
sediments whereas Ba is biogenically introduced into
the sediments as barite. The Fe contents of red clay
and average shale, on the other hand, are similar. Red
clays are enriched in Mn relative to average shale by a
factor of 7, in Co by a factor of 4, in Ni by a factor of 3,
in Cu by a factor of 5 and in Fe by a factor of 1.4. By
contrast, mildly reducing or seasonally oxidizing near-
shore sediments do not incorporate an authigenic
fraction and the composition of these sediments is
similar to that of average shale. Nonetheless, elevated
concentrations of manganese in surficial coastal
sediments are well documented (Overnell et al. 1996;
Overnell 2002).

The occurrence of an authigenic fraction in red
clays reflects the fact that Mn occurs in two valencies
and can migrate to regions where more oxidizing
conditions prevail. Within red clays, Mn is dominantly
in the tetravalent state with an average O:Mn ratio of
1.89 ± 0.05 (Murray et al. 1984). The presence of Mn
oxides in the sediments leads to scavenging of
transition elements such as Co, Ni and Cu.

The hemipelagic/pelagic transition is important in
defining the nature of red clays. This boundary is a
redox transition zone. Red clays form in regions of low
sedimentation rate where the rate of organic matter
deposition is very low. In these sediments, diffusion
of oxygen into the sediments exceeds its rate of
consumption in oxidizing organic matter. The sedi-
ments therefore remain brown throughout their length
and Mn, Co, Ni and Cu are enriched in the authigenic
fraction of the sediments. Oxic sediments are
characterized by sedimentation rates of <40 mm ka-1 in
regions of moderate productivity. In these sediments,
iron is present dominantly in the trivalent state and
reduction of nitrate in the pore waters by organic
carbon does not occur.

An inverse relationship has been observed
between the transition metal contents (Mn, Co, Ni and
Cu) of red clays and the sedimentation rate
(Krishnaswamy 1976). This relationship suggests that
these sediments are characterized by a uniform rate of
deposition of the authigenic elements superimposed
on a variable deposition rate of detrital elements. This

model explains the high concentration of authigenic
elements in Pacific pelagic clays where sedimentation
rates are low. The higher Mn content of red clays from
the South Pacific compared to those from the North
Pacific reflects the lower rates of sedimentation there.
Chemical leaching techniques have been used to
identify the forms of elements in red clays. About 90%
Mn, 80% Co and Ni and 50% Cu are considered to be
of authigenic origin whereas >90% of Fe is thought to
be of detrital origin. Fe therefore occurs dominantly in
the allogenic phase of these sediments. Table 11.2
suggests that most of the transition elements are
delivered to the sediment/water interface associated
with large organic aggregates.

Chemical analyses of red clays taken on a series of
transects across the Southwestern Pacific Basin have
shown that there is a systematic change in the
composition of the red clays across the basin. On a
transect from the base of the New Zealand continental
slope to Rarotonga, Mn was shown to increase from
0.3-1.4%, Fe from 3-8 %, Co from 25-250 ppm, Ni from
50-250 ppm and Cu from 75-325 ppm (Meylan et al.
1982). However, relative to each other, the elements
show an enrichment sequence along the transect of
Co>Ni>Mn ≈ Cu>Fe. Mössbauer studies also showed
a marked increase in the Fe3+:Fe2+ ratio in the sediments
with increasing distance from New Zealand which was
attributed to the incorporation of Fe oxyhydroxides,
probably ferrihydrite, into the sediments (Johnston
and Glasby 1982). By contrast, Fe2+ is thought to occur
in the sediments mainly in montmorillonite and
chlorite. A decrease in sedimentation rate from 32 to 2
mm ka-1 was also observed along this transect (Schmitz
et al. 1986). The sediments on this transect therefore
show a decrease in grain size, an increased darkening
of the sediments from pale yellowish brown to dusky

Pacific Pelagic Average
Clay shale

Mn 0.43 0.05
Fe 5.4 5.2
Co 113 8
Ni 210 29
Cu 230 45
Ba 3900 250

Table 11.1 Comparison of the transition metal and Ba
contents of Pacific Pelagic Clay and average shale. Mn
and Fe in per cent; Co, Ni, Cu and Ba in ppm (after
Glasby 1991).
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brown, increasing transition metal contents, increasing
oxidation state of iron, decreasing sedimentation rate
and increased abundance of deep-sea manganese
nodules with increasing distance from New Zealand.
The dusky brown sediments are rich in phillipsite and
manganese micronodules (Glasby et al. 1980). Several
of the changes along the transect were thought to
reflect an increase in the degree of oxidation of the
sediments with decreasing sediment accumulation rate
caused by a longer contact time of the sediment
surface with well-oxygenated ocean bottom water. On
a transect from the crest of the East Pacific Rise to
New Zealand at 42°S, Stoffers et al. (1985) found
similar increases in the contents of Mn, Fe, Co, Ni and
Cu in sediments with increasing distance from New
Zealand.

In a detailed comparison of sediments from the
equatorial North Pacific high productivity zone (Area
C) and the low productivity SW Pacific subtropical
anticyclonic gyre (Area K), Stoffers et al. (1981)
showed that the siliceous oozes from the equatorial
North Pacific have much higher contents of Mn, Ni,
Cu and Ba but lower contents of Fe and Co than the
red clays from the SW Pacific (Table 11.3). Sedi-
mentation rates on a carbonate-free basis for the two
areas are of the same order (1-3 mm ka-1 for the
equatorial North Pacific and 0.5-1 mm ka-1 for the SW
Pacific). Differences in the transition metal contents
of these sediments were therefore considered to be
controlled by sediment type rather than sedimentation
rate. Calculations based on the equations of Bischoff
et al. (1979) confirmed that the hydrogenous (authi-
genic) component was much higher in Area C (7.9%)
than in Area K (3.2%) sediments.

In addition to the authigenic component, there may
also be a hydrothermal component in deep-sea sedi-
ments. During DSDP cruise 92, the variation in compo-

sition of sediments from three drill cores and several
piston cores taken on a transect away from the crest
of the East Pacific Rise was determined (Lyle et al.
1986; Marchig and Erzinger 1986). It was shown that
the Mn accumulation rate in sediments falls off rapidly
with increasing distance becoming relatively small 1,000
km from the ridge crest. At 19-20°S, for example, the
Mn accumulation rate in the surface sediments de-
clined from 36 mg cm-2 ka-1 at the ridge crest to 0.2 mg
cm-2 ka-1 1,130 km away. The corresponding decrease
for Fe was from 120 mg cm-2 ka-1 to 0.68 mg cm-2 ka-1. In
a similar study at 42°S, the hydrothermal component
was shown to decline from about 75% at the ridge
crest to zero about 1,000 km away (Stoffers et al.
1985) (Fig. 11.5).

11.3.2 Diagenetic Processes in
Deep-sea Sediments

The nature of the diagenetic changes occurring in
pelagic sediments depends on the influx of decompo-
sable organic matter to the sediment and the metabolic
rate of oxidation (Müller et al. 1988). Three types of
diagenetic processes can be distinguished: oxic
diagenesis, suboxic diagenesis and anoxic diagenesis.
Oxic diagenesis takes place when oxygen remains in
the pore waters as in red clays. Mn concentrations in
the pore waters remain extremely low (of the order of 2
µg l-1) compared to a concentration of about 0.2 µg l-1

in ocean bottom water. Suboxic diagenesis takes place
when nitrate reduction occurs in the core and the
oxygen content in the pore waters becomes very low.
Dissolved Mn concentrations in the pore water can
then increase by several orders of magnitude (>1,000
µg l-1) compared to ocean bottom water. Anoxic
diagenesis takes place in stratified anoxic basins

Dust Organic Red clay
aggregates

Mn 20-70 1565 1020-1230
Fe 3000-5800 16175 1560-3500
Co 2.7-4 12 4-14
Ni 14-20 15 20
Cu 20-30 490 28-34

Table 11.2 Rates of deposition (µg cm-2 103yr-1) of
transition elements from eolian dust and organic aggre-
gates and into red clays (after Glasby 1991).

Area C Area K

Mn 1.97 0.8
Fe 4.8 8.39
Co 129 155
Ni 677 235
Cu 1044 275
Ba 3921 730

Table 11.3 Comparison of the transition metal and Ba
contents of sediments (on a carbonate-free basis) from
Areas C and K. Mn and Fe in per cent; Co, Ni, Cu and Ba
in ppm (after Stoffers et al. 1981).
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characterized by a well-developed halocline which
prevents mixing of the anoxic basinal waters with the
overlying sea-water as well as in the deeper layers of
sediments from well-oxygenated coastal and upwelling
environments. This leads to extensive diffusion of Mn
and Fe into the water column from the underlying
sediments. As an example, the dissolved Mn and Fe
contents attain concentrations of <700 and 120 µg l-1

respectively in the anoxic waters of the Gotland Deep,
Baltic Sea (Glasby et al. 1997). The diagenetic pathway
taken depends principally on the rate of organic carbon
accumulation in the sediment.

Within red clays, the diffusive flux of Mn is small
(23 µg cm-2 ka-1) and corresponds to about 7% of the
total sedimentation flux of Mn (Glasby 1991). Mn is
therefore largely immobilized in red clays. By
contrast, 96% of the Cu in red clays is regenerated
from the sediment into the bottom water as a result
of the diagenetic flux across the sediment/water
interface. Red clays therefore provide a relatively
low flux of Mn and transition elements to the
sediment surface and this is not an important source
of metals for manganese nodule formation in red
clay areas.

Müller et al. (1988) have distinguished between
‘deep diagenesis’ and ‘surficial diagenesis’. In Pacific
red clays, deep diagenesis results in no significant
net upward flux of Mn, Fe, Ni or Cu. Surficial diagenesis
is more significant. In siliceous ooze sediments, the
regeneration rate of Mn in the surface sediments is of
the same order as the accretion rate of Mn in the
associated Mn nodules. Surficial diagenesis is there-
fore a significant source of metals to manganese
nodules in siliceous ooze areas. 96% of the metals in
the associated manganese nodules come from this
source.

In general, the thickness of the oxidized layer in
the sediment increases from near-shore and hemi-
pelagic to pelagic environments. This is illustrated in
Figure 11.6 which shows the trends for the eastern
equatorial Pacific. This diagram confirms the inverse
relationship between the thickness of the oxidized layer
in the sediment and the biological productivity in the
overlying surface waters. In general, there is a trans-
ition from tan to green within these sediments resulting
from the in-situ reduction of Fe (III) to Fe (II) in
smectites at the iron redox transition-zone (Lyle 1983;
Köning et al. 1997).
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In a comparison of pore water profiles of red clays
and hemipelagic sediments, Sawlan and Murray (1983)
showed that Mn and Fe are below the detection limit
in the pore waters of red clays, Ni is present in the
same concentation as in ocean bottom water and Cu
shows a pronounced maximum at the sediment-water
interface. In hemipelagic clays, denitrification becomes
important and remobilization of Mn and Fe takes place.
Ni correlates with Mn in the pore waters suggesting
that it is associated with the Mn oxides in the solid
phase. Cu is regenerated very rapidly at the sediment-
water interface. The diffusive flux of Mn in hemipelagic
sediments was determined to be in the range 2,200-
33,000 µg cm-2 ka-1. More detailed studies of pore water
profiles in five different areas of the Californian
Borderland confirmed the importance of Mn recycling
in the surface sediments when the oxygen content of
the bottom waters exceeds 0.1 ml l-1 (Shaw et al. 1990).
Co and Ni appeared to be scavenged by Mn oxides
and trapped in the surface sediments whereas the
accumulation of Cu appeared to be more closely related
to the flux of biogenic material to the sediment.

Based on a detailed study of pore water profiles in
sediment cores from the eastern equatorial Atlantic,
Froelich et al. (1979) were able to show that oxidants
are consumed in the order of decreasing energy
production per mole of organic carbon oxidized (O2 >
Mn oxides ≈ nitrate > Fe oxides > sulfate). A schematic
representation of the profiles is shown in Figure 11.7.
From this diagram, it is seen that the reduction and
remobilization of Mn takes place in zone 4. This is
followed by the upward diffusion and reoxidation of
Mn in zone 3. This process enables Mn to be stripped
from the sediments as they accumulate and to be
redeposited as a discrete layer within the sediment
column. An example of this process is given in Figure
3.8. Of course, the depth at which these processes
take place is controlled by the influx of organic matter
to the sediments which governs the nature of the
diagenetic process occurring there. In regions of ex-
tremely high productivity characterized by organic-
rich hemi-pelagic sediments (such as found in the
Panama Basin), burrowing by macrofauna can markedly
increase the rate of recycling of Mn in the bioturbated
zone of these sediments (Aller 1990). In this situation,
Mn-oxide rich sediments and organic matter are mixed
into the anoxic layers of the sediment by bioturbation,
thereby permitting remobilization of Mn2+ in the
sediment column (Thamdrup and Canfield 1996).
However, reduction of Mn oxides was shown to play
only a minor role in the oxidation of organic carbon in
continental margin sediments taken off Chile (Tham-
drup and Canfield 1996) (see Chapter 7). The main-

tenance of high Mn oxide reduction rates therefore
depends on the continuous mixing of Mn oxides and
fresh organic matter into the sediments through
bioturbation or other mixing processes.

In addition to the above examples of steady state
diagenesis, non-steady state diagenesis may occur in
deep-sea sediments when turbidites are deposited in
abyssal plains (Thomson et al. 1987). A color difference
is often seen in the upper layers of the turbidite. This
is a consequence of the ‘oxidation front’ in which
oxygen from the overlying pelagic sediment, often
carbonate ooze, diffuses down into the underlying
turbidite sequence and oxidizes organic carbon there.
As a result, oxygen and nitrate are reduced to almost
zero below the front but Mn and Fe are mobilized in
the sediment. Mn migrate upwards and is immobilized
at the oxidation front. Ultimately, it may be fixed in the
sediment as a manganese carbonate. Within a long
sediment core, a number of turbidite sequences, and
therefore fossil oxidation fronts, may be seen. Other
examples of the non-steady state deposition of Mn in
deep-sea sediments have been recorded at the glacial/
interglacial boundary (Wallace et al. 1988; Gingele and
Kasten 1994).
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Fig. 11.6 Variation of the thickness (in cm) of the
oxidized surface layer of sediments from the eastern
equatorial Pacific (after Lyle 1993). In conjunction with
the regional distribution of the biological productivity of
the surface waters (Fig. 11.12), this pattern indicates that
early diagenesis in the sediments is controlled on a
regional scale by the input of biological detritus into the
sediments.

11.3 Sediments



380

11 Manganese: Predominant Role of Nodules and Crusts

11.4 Manganese Nodules and
Crusts

There are three principal types of manganese deposits
in the marine environment. Manganese nodules
generally accumulate in deep water (>4,000 m) in
oceanic basins where the sedimentation rates are low.
They usually grow concentrically around a discrete
nucleus. Growth occurs mainly at sediment-water
interface. Manganese crusts accumulate on submarine
seamounts and plateaux at depths >1,000 m where
bottom currents prevent sediment accumulation. They
generally form on submarine outcrops. Ferroman-
ganese concretions occur in shallow marine environ-
ments (e.g. the Baltic and Black Seas) and in temperate-
zone lakes. They grow much faster than deep-sea
nodules and are quite different in shape, mineralogy
and composition from them.

There are also three principal modes of formation
of these deposits. Hydrogenous deposits form directly
from seawater in an oxidizing environment. They are
characterized by slow growth (about 2 mm Ma-1).
Manganese nodules tend to form on red clays and

Co-rich manganese crusts on rock substrates. The high
Mn/Fe ratio in deep sea water compared to the earth’s
crust is mainly responsible for the formation of hydro-
genous manganese deposits with Mn/Fe ratios of
about unity. Diagenetic deposits result from diagenetic
processes within the underlying sediments leading to
upward supply of elements from the sediment column.
These deposits are characterized by faster growth
rates (10-100 mm Ma-1) and are often found on siliceous
oozes. Hydrothermal deposits precipitate directly from
hydrothermal solutions in areas with high heat flow
such as mid-ocean ridges, back-arc basins and hot
spot volcanoes. They are characterized by high to
extremely high growth rates (>1,000 mm Ma-1) and low
to very low trace element contents. They tend to be
associated with hydrothermal sulfide deposits and iron
oxyhydroxide crusts.

11.4.1 Deep-Sea Manganese Nodules

Deep-sea manganese nodules occur mainly in deep-
ocean basins characterized by low sedimentation rates
(i.e. <5 mm ka-1) where inputs of calcareous ooze,
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turbidity flows and volcanic ash are low. They there-
fore occur in highest abundances on red clay and
siliceous ooze far from land. They occur worldwide
and are found in most major oceanic basins. Their
distribution is also related to the patterns of oceanic
bottom water flow and, to a lesser extent, to the
availability of potential nuclei on which they grow such
as weathered volcanic rock, pumice, whales’ ear-bones,
sharks’ teeth, fragments of older nodules and indurated
sediment. Antarctic Bottom Water (AABW) is the
major oceanic bottom current in the Pacific. Its influ-
ence is seen in the lowered sedimentation rates, and
therefore increased nodule abundance, along its flow
path. A huge literature on deep-sea nodules has deve-
loped over the last 30 years, including a number of
standard texts on the subject (Mero 1965; Horn 1972;
Glasby 1977; Anon 1979; Bischoff and Piper 1979;
Sorem and Fewkes 1979; Cronan 1980; Varentsov and
Grasselly 1980; Roy 1981; Teleki et al. 1987; Baturin
1988; Halbach et al. 1988; Nicholson et al. 1997;
Cronan 2000).

In the Pacific Ocean, the distribution of manganese
nodules has been mapped as part of the Circum-Pacific
Map Project using data from 2,500 bottom camera
stations and from sediment cores (Piper et al. 1987)
(Fig. 11.8). Although considerable variability in nodule
abundance within individual stations was observed,
high coverage of nodules was recorded in five main
regions: between the Clarion and Clipperton Fracture
Zones (C-C F.Z.) in the equatorial North Pacific and
extending westwards into the northern sector of the
Central Pacific Basin, in the abyssal plain area around
the Musicians Seamounts in the Northeast Pacific
Basin, in the central sector of the Southwestern Pacific
Basin, in an E-W trending belt in the Southern Ocean
coincident with the Antarctic Convergence, and in the
northern sector of the Peru Basin. Andreev and
Gramberg (2004) have recently published a more
detailed map of the mineral resources of the world ocean
including manganese nodules.

In discussing the composition of deep-sea manga-
nese nodules, it should be born in mind that the com-
position of nodules varies within individual nodules
as seen in the discrete micro-banding in the nodules,
locally (on the scale of hundreds of meters) and
regionally (over thousands of km) (e.g von Stackelberg
and Marchig 1987). In spite of this, regional patterns
in the composition of nodules are commonly observed
such that we can reasonably compare and contrast
the characteristics of nodules from different physio-
graphic provinces of the world ocean as attempted
here (cf. Cronan 1977; Piper and Williamson 1977;
Sorem and Fewkes 1979).

In the following section, the distribution,
mineralogy and composition of manganese nodules
from three of these regions is considered in order to
illustrate the different modes of formation of nodules
in different settings. A detailed comparison of the
characteristics of the nodules from these three regions
has already been presented by Glasby et al. (1983).

Southwestern Pacific Basin

The Southwestern Pacific Basin has an area of 10·106

km2. It is bounded by New Zealand-Tonga-Kermadec
Arc, the East Pacific Rise and the Polynesian island
chain and has a maximum depth 5,800 m. It lies beneath
subtropical anticyclonic gyre which is a low produc-
tivity area. Two cruises of R.V. Tangaroa were under-
taken in 1974 and 1976 to study the distribution and
mode of formation of nodules in the Southwestern
Pacific and Samoan Basins (Glasby et al. 1980). On a
transect from New Zealand to Rarotonga in the Cook
Islands, it was shown that the maximum abundance of
nodules (>20 kg m-2) occurs on the dusky brown clays
in the region 220-745 km S.W. of Rarotonga. The
western sector of the basin, particularly N.E. of New
Zealand, was largely devoid of nodules. This was
attributed to the influx of terrigenous sediments from
the New Zealand landmass which raised the sedimen-
tation rate above the threshold for nodule formation.
The morphology of the nodules in the Southwestern
Pacific Basin is somewhat variable but those taken
S.W. of Rarotonga are 40% s[S]m, 17% m[S]m and 16%
s[E]m (see box for explanation). 72% of these nodules
are small (<30 mm), 26% medium (30-60 mm) and 2%
large (>60 mm). The nodules are dominantly spheroidal
with smooth surface texture when small but become
more ellipsoidal and develop equatorial rims with
increasing size. The larger nodules also tend to exhibit
differences in the surface texture between the upper
and lower surfaces. This reflects the fact that the larger
nodules have been static at the seafloor for longer
than is necessary to form the external layer of the
nodule (i.e. their rate of rolling is slower than the rate
of growth). Mineralogically, the nodules consist of
δMnO2, quartz and feldspar. Table 11.4 lists the average
composition of nodules from S.W. Pacific Basin and
the adjacent Samoan Basin. The average Ni+Cu+Co
content of the nodules on the transect from New
Zealand to Rarotonga is 1.00%. This is well below the
level considered necessary for economic exploitation
even though the Southwestern Pacific Basin is thought
to contain 10·109 t of nodules. A subsequent E-W
transect across the Southwestern Pacific Basin at 42°S
undertaken during cruise SO-14 of R.V. Sonne showed

11.4 Manganese Nodules and Crusts
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that the highest abundances of nodules occur in the
far eastern sector of the basin furthest from land (Plüger
et al. 1985).

Descriptive classification of manganese nodule
types (after Glasby et al. 1980).
Prefix: (Nodule size based on maximum

diameter)
s = small (<30 mm)
m = medium (30-60 mm)
l = large (>60 mm)

Bracketed: (Primary nodule shape)
S = speroidal
E = ellipsoidal
D = discoidal
P = polynucleate
T = tabular
F = faceted (polygonal)
V = scoriaceous (volcanic)
B = biological (shape determined by

shark’s tooth)

Suffix: (Nodule surface texture)
s = smooth
m = microbotryoidal
b = botryoidal
r = rough

Examples: m[S]m = medium-sized spheroidal
nodule with
microbotryoidal surface
texture.

l[D]b
r = large discoidal nodule with

botryoidal upper surface
texture and rough lower
surface texture.

s[S-F]s = small spheroidal nodule
with significant facing,
smooth surface texture.

Fig. 11.8 Schematic map showing the distribution of manganese nodules in the Pacific Ocean compiled as part of the
Circum-Pacific Map Project (Piper et al. 1985). The contours represent the percentage cover of the ocean floor by
manganese nodules. Diagram prepared with the permission of D.Z. Piper, USGS.
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     Southwestern Pacific Basin nodules are considered
to be hydrogenous in origin based on their average
Mn/Fe ratio of about unity, Ni+Cu contents of <1%,
δMnO2 as the principal Mn oxide phase and growth
rates of 1-2 mm Ma-1 (Dymond et al. 1984).

Clarion-Clipperton Fracture Zone Belt

The C-C F.Z. belt is the area bounded by the Clarion
F.Z. to north and the Clipperton F.Z. to the south. The
water depth varies from 5,300 m in the west to 4,300 m
in the east  (Andreev and Gramberg 1998). The C-C
F.Z. is a high productivity area characterized by the
occurrence of siliceous sediments. The sedimentation
is controlled largely by bottom current activity. The
area is dominated by an abyssal hill topography. There
is a great variability in nodule distribution and type
which depends on the sediment type and accumulation
rate, bottom current activity, benthic biological activity
(bioturbation), bottom topography, availability of
potential nodule nuclei and productivity of the surface
waters (Friedrich et al. 1983; Halbach et al. 1988; von
Stackelberg and Beiersdorf 1991; Skornyakova and
Murdmaa 1992; Jeong et al. 1994, 1996; Knoop et al.
1998; Morgan 2000).

Within the C-C F.Z., there appear to be two discrete
nodule types; larger ‘mature’ nodules and smaller
‘immature’ nodules. The larger ‘mature’ nodules make
up 26% of the nodules by number but 92% by weight.
The larger nodules are dominantly m-l[E,D]b

s, the so-
called hamburger-shaped nodules which have an
equatorial rim corresponding to the sediment-water
interface. The nodules become flatter with increasing
size and have a maximum diameter of 140 mm. These
nodules are characterized by hydrogenous growth on
the upper surface and diagenetic growth on the lower
surface. Figures 11.9 and 11.10 show the principal
features of these hamburger nodules. By contrast, the
morphology of the nodules from the slopes of
seamounts is s-m[S,P]s-m. These nodules form at the
sediment surface and are characterized by hydro-
genous growth. The principal minerals present are
todorokite and δMnO2. Table 11.4 lists the average
composition of nodules from the Clarion-Clipperton
F.Z. belt. There is an inverse relation between nodule
grade and abundance which vary from 3.4% Ni+Cu
and 3 kg m-2 to 0.3% Ni+Cu and 16 kg m-2. The high
Ni+Cu nodules are dominantly diagenetic in origin and
the low Ni+Cu nodules dominantly hydrogenous in
origin. The high contents of Ni+Cu in the diagenetic

11.4 Manganese Nodules and Crusts

Fig. 11.9 Hamburger-shaped nodule from the Clarion-Clipperton F.Z. region displaying a smooth surface texture on
the upper surface and a rough surface texture on the underside (l [D] s

r). Sample collected at Stn 321 GBH, R.V Sonne
cruise SO-25 (7°57.30’N, 143°28.92’W, 5153 m). Photograph courtesy of U. von Stackelberg, BGR.
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nodules from this area ensure that the C-C F.Z. is the
prime target area for the economic exploitation of
manganese nodules (cf. Morgan 2000).

C-C F.Z. nodules may be considered to be diage-
netic in origin based on their average Mn/Fe ratio of
about 2.5, Ni+Cu contents of <2.5%, 10 Å manganate
as the principal Mn oxide phase and growth rates of
10-50 mm Ma-1 (Dymond et al. 1984). The influence of
oxic diagenesis on nodule formation is the result of
low sedimentation rates and low inputs of organic
carbon to sediments. The sediments are oxidizing with
an EH of +0.4 V at 8m depth in the sediment column

(Müller et al. 1988). Ni and Cu on the undersides of the
nodules are ultimately derived from the dissolution of
siliceous tests in the sediment (Glasby and Thijssen
1982). Dissolved silicate concentrations in the
sediment pore waters may attain values of up to 900
µM. Ni2+ and Cu2+ substitute in the interlayer spacings
of 10 Å manganate on the undersides of the nodules
resulting in differences in the compositions of the
upper and lower surfaces of the nodules (Dymond et
al. 1984). In general, the tops of these nodules are
enriched in Fe, Co and Pb and the bottoms in Mn, Cu,
Zn and Mo (Raab and Meylan 1977).

S.W. Pacific Samoan C-C F.Z. Peru
Basin Basin Basin

Mn (%) 16.6 17.3 29.1 33.1
Fe (%) 22.8 19.6 5.4 7.1
Co (%) 0.44 0.23 0.23 0.09
Ni (%) 0.35 0.23 1.29 1.4
Cu (%) 0.21 0.17 1.19 0.69
Mn/Fe 0.73 0.88 5.4 4.7

Fig. 11.10 Vertical section of a hamburger-shaped nodule from the Clarion-Clipperton F.Z. region displaying a
layered growth structure (l D s

r). The nodule nucleus is a nodule fragment. Sample collected at Stn 178 GBH, R.V
Valdivia cruise VA 13/2 (9°22.5’N, 145°53.1’W, 5231 m). Photograph courtesy of U. von Stackelberg, BGR.

Table 11. 4 Comparison of the average compositions of Mn nodules from S.W. Pacific Basin and Samoan Basin (after
Glasby et al. 1980), the Clarion-Clipperton Fracture Zone region (after Friedrich et al. 1983) and the Peru Basin (after
Thijssen et al. 1985).
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Peru Basin

The Peru Basin is a relatively shallow oceanic basin
with depths typically in the range 3,900-4,300 m which
is close to the depth of the Carbonate Compensation
Depth (CCD) (4,250 m) and lies in a region of high
biological productivity. Manganese nodules were
initially recovered during cruises SO-04 and SO-11 of
R.V. Sonne and investigated in part because of their
economic potential (Thijssen et al. 1985; von Stackel-
berg 1997, 2000). Subsequently, the nodule field was
investigated during cruises SO-61, SO-79 and SO-106
as part of the DISCOL program, a long-term, large-
scale disturbance-recolonization experiment to assess
the potential environmental impact of nodule mining
(von Stackelberg 1997; Thiel 2001).

Peru Basin nodules are quite different from those
in other regions of the ocean floor. They tend to be
large and mamillated with an average Mn/Fe ratio of
4.7 and an average Ni+Cu content of about 2.1%
(Thijssen et al. 1985). Table 11.4 lists the average
composition of nodules from the Peru Basin. The
nodules are friable and contain fragments of fish bones
or broken nodules as nodule nuclei. Nodule density
averages >10 kg m-2 but achieves a maximum value of
53 kg m-2. The highest abundance of nodules is found

near the CCD. Although only 3.8% of the nodules by
number are in the >80 mm size class, these nodules
make up 56% of the total weight of the nodules. The
largest nodule recovered was 190 mm in diameter. The
morphology of the nodules is a function of the size
class. Nodules <20 mm in diameter are dominantly
fragments of larger nodules and less commonly
discrete ellipsoidal nodules with botryoidal surface
texture. Nodules in the 20-60 mm size classes are
dominantly ellipsoidal to discoidal with the position
of the sediment-water interface clearly defined. The
upper surface of these nodules is mamillated with
micro-botryoidal surface texture whereas the lower
surface is less mamillated and smoother. Nodules in
the >60 mm size class are dominantly highly mamillated
and spheroidal with botryoidal surface texture on the
upper surface and smooth to micro-botryoidal on the
lower surface. Figures. 11.11 and 11.12 show the
principal features of these large nodules. For every
nodule encountered at the sediment surface, 1.25
nodules occur to a depth of 2.5 m in the sediment
column. Buried nodules have the same morphology
as surface nodules but different surface texture indi-
cating that material has been removed from the surface
of the nodule by dissolution after burial. von Stackel-
berg (1997) has shown that the redox boundary sepa-
rating soft oxic surface sediments from stiffer suboxic
sediments occurs at a depth of about 100 mm in the
sediment column. Highest growth rates occur on the
underside of large nodules immediately above the
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Figs 11.11 Sperical nodule with a cauliflower-shaped
surface from the Peru Basin displaying a rough surface
texture on the upper surface and a smooth surface texture
on the underside (l [S] r

s). Sample collected at Stn 25 KG,
R.V Sonne cruise SO-79 (6°51.99’N, 90°26.52’W, 4170
m). Photograph courtesy of U. von Stackelberg, BGR.

Figs 11.12 Vertical section of an asymmetric nodule
from the Peru Basin with a cetacean earbone nucleus (l
[S] r

s). Sample collected at Stn 63 KG, R.V Sonne cruise
SO-79 (6°45.58’N, 90°41.48’W, 4257 m). Photograph
courtesy of U. von Stackelberg, BGR.
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redox boundary. Strong bioturbation occurs through-
out the region and helps maintain the nodules at the
sediment surface.

Peru Basin nodules are considered to be diagenetic
in origin with maximum Mn/Fe ratios of >50, cor-
responding to Ni+Cu in these samples of <1.4%. 10 Å
manganate as the principal Mn oxide phase and
growth rates of 100-200 mm Ma-1 (Dymond et al. 1984).
Nodule compositional data for this assessment are
taken from Halbach et al. (1980) and Thijssen et al.
(1985) and nodule growth rates from Reyss et al. (1985)
and Bollhöffer et al. (1996, 1999). The influence of
suboxic diagenesis on nodule growth is the result of
higher sedimentation rates and higher inputs of organic
carbon into the sediments. Mn is strongly remobilized
by dissolution of Mn micronodules within the sediment
column. This leads to the high Mn/Fe ratios and low
Ni+Cu contents in the nodules. The nodules are
characterized by increasing substitution of Mn2+ in
the interlayer spacings of 10 Å manganate.

11.4.2 Influence of Diagenesis on
Nodule Growth

Perhaps the most comprehensive explanation of the
role of hydrogenetic and diagenetic processes on man-
ganese nodule accretion has been presented by
Dymond et al (1984). On their classification, hydroge-
nous deposition involves the direct precipitation or
accumulation of colloidal metals oxides from seawater.
Strictly, this involves deposition of manganese oxides
on surfaces in contact with seawater such as involved
in the formation of manganese crusts. In practice,
manganese nodules formed on red clays have charac-

teristics very similar to those of manganese crusts and
are therefore considered to be hydrogenous in origin.
However, Aplin and Cronan (1985) have argued that
no nodules resting on or in marine sediments can be
considered entirely free of diagenetic influences.

    Oxic diagenesis refers to processes occurring
within oxic sediments. Decomposition and oxidation
of labile organic matter and the dissolution of labile
biogenic components such as siliceous tests may
release biologically-bound metals into the sediment
pore waters which may ultimately be incorporated into
the nodules. Dissolution of siliceous tests may also
introduce silica into the sediment pore waters which
may react with amorphous ferromanganese oxides to
form nontronite (Dymond and Eklund 1978). This
process fixes silica and Fe in the sediment column and
releases transition elements such as Mn, Co, Ni, Cu
and Zn into the sediment pore waters for incorporation
into the nodules. Jung and Lee (1999) have suggested
that formation of manganese nodules may be episodic
under the influence of oxic diagenesis. Under these
conditions, manganese and associated transition
metals would be remobilised in oxygen-depleted
environments which develop as a result of the
decomposition of organic matter in burrows and
supplied episodically to nodule surfaces during
periods of intermittent bottom water flow strong
enough to stir up the bioturbated sediment.

Suboxic diagenesis involves the reduction of Mn
(IV) to Mn (II) within the sediment column and then
reoxidation of Mn (II) to Mn (IV) during the formation
of the nodules. These diagenetic processes are
controlled by redox processes within the sediment
column and are therefore dependent on depth in the

Fig. 11.13 Contour plot of the diagenetic accretion compositional end member of manganese nodules which shows
that this end member increases in relative proportion as the equatorial zone of high productivity is approached as a
consequence of the increase in both the primary productivity and sedimentation rate (after Knoop et al. 1998).
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sediment column. In most cases (as in the Peru Basin),
these nodules are formed in oxic sediments overlying
reducing sediments. The diagenetic supply of metals
to the nodules normally takes place at or near the
sediment surface. Because the metals are released
within the sediment column and migrate upwards, they
tend to be incorporated on the underside of nodules.
This frequently results in differences in composition
between the upper and lower surfaces of diagenetic
nodules. Manganese micronodules may play a key
role in retaining transition elements in the sediment
column until they are released on further burial of the
micronodules.

Diagenetic processes may therefore involve
recycling of elements within the sediment column prior
to their incorporation in nodules. The characteristics
of each of these nodule types have been given in the
previous sections. In addition to influencing the mine-
ralogy and composition of the nodules, diagenetic
processes also influence their surface texture; hydro-
genous nodules tend to have smooth surface texture
and diagenetic nodules botryoidal to rough surface
texture.

From the above comments, it will be seen that the
principal factor driving the diagenetic milieu in the
sediments is the biological productivity of the oceanic
surface waters. A map of biological productivity of
Pacific ocean surface waters shows that the produc-
tivity of the northern sector of the Southwestern
Pacific Basin is 50-100 gC m-2 yr-1, in the C-C F.Z. is in
the range 100-150 gC m-2 yr-1 and in the Peru Basin is
100-150 gC m-2 yr-1 (Fig. 12.5) (cf. Cronan 1987, 1997;

Müller et al. 1988). The importance of the productivity
of the surface waters to the diagenetic component of
manganese nodules in the C-C F.Z. is well illustrated
in Figure 11.13 which shows that the diagenetic
component of the nodules increases from west to east
as the equatorial zone of high productivity is ap-
proached (cf. Skornyakova and Murdmaa 1992;
Morgan 2000).

The influence of biological productivity on nodule
composition is perhaps best illustrated by the hyper-
bolic regression curve of Cu and Ni against Mn/Fe for
nodules from C-C F.Z. and Peru Basin (Fig. 11.14). This
diagram can be divided into three parts. Hydrogenous
nodules deposited entirely from seawater have Mn/
Fe ratios of about unity and low Ni+Cu contents.
Nodules influenced by oxic diagenesis have Mn/Fe
ratios of up to 5 (but more typically about 2.5) with
correspondingly high Ni+Cu contents. Nodules
influenced by suboxic diagenesis have Mn/Fe ratios
of up to 50 but lower Ni+Cu contents. The maximum
Ni+Cu contents of nodules correspond to a Mn/Fe
ratio of about 5 and is found at the so-called point of
reversal.

For this purpose, we may therefore consider hydro-
genous deep-sea nodules to be a baseline. When oxic
diagenesis takes place, Mn, Ni and Cu are released
into the sediment pore waters and are ultimately incor-
porated into the nodules. Ni2+ and Cu2+ substitute in
the phyllomanganate lattice (see below). This explains
the high Mn/Fe ratios and Ni+Cu contents of oxic
nodules. When sub-oxic diagenesis takes place, Mn2+

is remobilized into the reducing sediments and

11.4 Manganese Nodules and Crusts

Fig. 11.14 Hyperbolic regression curves of Ni+Cu against Mn/Fe for nodules from the Clarion-Clipperton F.Z. region
(upper curve) and Peru Basin (lower curve) (after Halbach et al. 1981).
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migrates upwards towards the sediment surface where
it is either oxidized to Mn (IV) at the nodule surface or
substitutes in the phyllomanganate lattice as Mn2+.
This behavior explains both the very high Mn/Fe ratios
of suboxic nodules and their correspondingly low
Ni+Cu contents. The boundary between oxic and
suboxic diagenesis is marked by a Mn/Fe ratio in the
nodules of about 5. The nature of the diagenetic
processes occurring in the sediments depends directly
on the input of organic carbon and therefore on the
productivity of the overlying surface waters.

Based on a study of manganese nodules taken on
the Aitutaki-Jarvis Transect in the S.W. Pacific, Cronan
and Hodkinson (1994) also demonstrated the influence
of the CCD on nodule composition. Above the CCD,
accumulation of carbonate tests was thought to dilute
the organic carbon in the sediments, thus inhibiting
diagenesis, whereas, below the CCD, the decay of
organic material in the water column was thought to
reduce its effectiveness in driving diagenetic reactions.
Cronan and Hodkinson (1994) indeed found that Mn,
Ni, Cu and Zn were most concentrated in nodules taken
near the CCD at the north of the transect in an region
of high productivity and least concentrated in nodules
taken away the CCD at the south of the transect in a
region of low productivity. They therefore inferred that
diagenetic cycling of Mn, Ni, Cu and Zn to the nodules
is enhanced as a result of the decay of organic material
near the CCD.

On a more local scale, the influence of diagenetic
processes on nodule morphology and composition
has been related to variations in sedimentation rate in
areas of hilly topography within the C-C F.Z. (von
Stackelberg and Marchig 1987; von Stackelberg and
Beiersdorf 1991). On the flanks of hills and in parts of
basins, sedimentation rates are lower and dominantly
diagenetic nodules are formed whereas, in areas of
sediment drift, sedimentation rates are higher and
dominantly hydrogenous nodules are formed. These
processes are related to the degree of decomposition
of organic matter within the sediment column. Where
sedimentation rates are low, organic matter is rapidly
consumed within the sediment releasing Mn2+ into the
pore water and resulting in the formation of dominantly
diagenetic nodules. In areas of sediment drift, on the
other hand, the organic carbon is buried within the
sediment stimulating bioturbation and the resultant
biogenic lifting of the nodules to the sediment surface.

Bioturbation is an essential requirement for benthic
lifting of manganese nodules and maintaining the
nodules at the sediment surface. In both the C-C F.Z.
and the Peru Basin, the biological productivity of the
oceanic surface waters is high enough that the amount

of organic matter reaching the sea floor is sufficient to
stimulate the activity of sediment-feeding organisms.
As a result, bioturbation appears to be the dominant
factor in maintaining nodules at the sediment surface
in the C-C F.Z. (von Stackelberg and Beiersdorf 1991;
Skornyakova and Murdmaa 1992) and the Peru Basin
(von Stackelberg 1997, 2000). Several mechanisms have
been proposed by which nodules could be maintained
at the sediment surface by bioturbation. These include
biological pumping, burrowing by crack propagation
as well as bioturbation by benthic fauna and megafauna
(Sanderson 1985; McCave 1988; Banerjee 2000 and
Dogan et al. 2005). The biological productivity of the
surface waters in the Southwestern Pacific Basin, on
the other hand, is much lower than that in the C-C F.Z.
and the Peru Basin and the abundance of benthic fauna
on the sea floor is therefore much reduced. This may
account for the greater influence of ocean bottom
currents in maintaining nodules at the sediment
surface there as proposed by Glasby et al. (1983). The
biological productivity of the oceanic surface waters
may therefore also influence the way in which nodules
are maintained at the sediment surface.

In addition to the above, Calvert and Piper (1984)
have proposed a diagenetic source of metals derived
from sediments far away for nodules occurring in an
erosional area with thin sediment cover in the C-C F.Z.
The metals were thought to be transported to the site
of deposition by oceanic bottom water, probably
AABW. Although this process is well known in
shallow-water continental margin areas such as the
Baltic Sea, only limited evidence to support this
hypothesis has been presented for the deep-sea
environment.

11.4.3 Rare Earth Elements (REE) as
Redox Indicators

A key parameter in understanding nodules formation
is the redox milieu of the environment at the time of
deposition. This can influence the mineralogy and
therefore composition of the nodules (see below). In
this regard, Glasby (1973) used the Ce/La ratio of
nodules as a redox indicator. He showed that deep-
sea nodules from the NW Indian Ocean had much
higher Ce/La ratios (4.4) and ΣREE contents (490 ppm)
than those from shallow-water continental margin
environments such as Loch Fyne, Scotland (1.9 and
29 ppm, respectively). The higher REE contents of the
deep-sea nodules were taken to reflect the more
oxidizing conditions in the deep sea which facilitated
the oxidation of the trivalent Ce3+ in seawater to CeO2

on the surface of the nodules. The lower ΣREE
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contents of the shallow-water continental margin
concretions was taken to reflect the remobilization of
Mn in the sediment column which resulted in the
fractionation of Mn from Fe, Co, Ni, Cu and REE in the
concretions. It was suggested that the REE were
adsorbed from seawater onto colloidal FeOOH in the
nodules. The high rate of manganese remobilization in
the shallow-water continental margin sediments also
resulted in growth rates of the associated concretions
two orders of magnitude higher than those of the deep-
sea nodules (Ku and Glasby 1972).

Based on these ideas, Glasby et al. (1987) attempted
to use the Ce/La ratios of deep-sea manganese nodules
as a means of tracing the flow path of the AABW in
the S.W. and Central Pacific Ocean. On this basis, the
Ce/La ratios in the deep-sea nodules should decrease
along the flowpath of the AABW as the oxygen in the
bottom waters is consumed. The data confirmed that
the ΣREE contents of the nodules are strongly
correlated with Fe resulting in higher REE contents in
nodules from the Southwestern Pacific Basin com-
pared to those from the C-C F.Z (La 169 v 93 ppm).
They also showed a systematic decrease in the Ce/La
ratios of the nodules from the Southwestern Pacific
Basin to the C-C F.Z. and on to the Peru Basin as
follows: Area III (9.6) > Area K (8.0) > Area C (3.7) >
Peru Basin (2.0) > Area G (1.5) > Area F (1.4). The Peru
Basin and Areas G and F are situated in the equatorial
South Pacific in regions which do not lie directly under
the flow path of the AABW and which are charac-
terized by sluggish bottom water flow (Nemoto and
Kroenke 1981; Davies 1985). This factor explains the
low Ce/La ratios of these samples. The sequence of
these ratios confirms that the Ce/La ratio of deep-sea
manganese nodules can be used to trace the flow path
of the AABW and therefore that the Ce/La ratios of
manganese nodules can be used as a redox indicator
in the deep-sea environment. Subsequent work on the
REE contents of manganese nodules taken on an E-W
transect across the Southwestern Pacific Basin at 42°S
showed that the highest Ce/La ratios and ΣREE
contents of the nodules occur in the central part of
the basin which is exposed to the strongest flow of
AABW (and therefore the most oxygenated condi-
tions) (Kunzendorf et al. 1993).

More recently, Kasten et al. (1998) have determined
the REE contents of a suite of manganese nodules
from the South Atlantic to see if a similar relationship
between the Ce/La ratios of the nodules and AABW
flow could be observed there. In fact, the Ce/La ratios
of the nodules decrease in the sequence Lazarev Sea,
Weddell Sea (10.4 and 9.7) > East Georgia Basin (6.5-
7.1) > Argentine Basin (5.0) but then increase in the

Brazil Basin (6.2) and Angola Basin (9.8 and 15.1). A
further decrease was observed in the Cape Basin (7.6).
In addition, an extremely high Ce/La ratio of 24.4 had
already been determined for nodules sampled north of
the Nares Abyssal Plain in the North Atlantic. These
data reflect the more complicated pattern of bottom
water flow in the Atlantic compared to the Pacific Ocean.
It is believed that the penetration of more oxygenated
North Atlantic Deep Water (NADW) into the South
Atlantic accounts for the higher Ce/La ratios in the
nodules from the Angola and Brazil Basins. The
influence of AABW could therefore be traced only as
far north as the Argentine Basin. These data confirm
the potential importance of REE studies in deep-sea
manganese nodules in tracing oceanic bottom water
flow.

Of particular interest in this regard is the study of
REE patterns of different types of nodules from
DOMES Site A in the C-C F.Z. by Calvert et al. (1987)
on nodules which had previously been investigated
by Piper and Blueford (1982) and Calvert and Piper
(1984) (see sections 11.4.2 and 11.4.10.2). These
authors demonstrated that there were three end-
member types of nodules at this site, granular nodules
from the valley which formed on thin (<20 cm)
Quaternary sedimentary sections and displayed the
highest Mn/Fe, Cu/Ni, todorokite/δMnO2 ratios and
the lowest Ce/La ratios, smooth nodules from the
uplands which formed on thick (>36 cm) Quaternary
sections and displayed the lowest Mn/Fe, Cu/Ni,
todorokite/δMnO2 ratios and highest Ce/La ratios and
an intermediate type of nodules. The authors inter-
preted these differences in Ce/La ratios of the nodules
in terms of variations in the composition of seawater
from which the nodules formed, either from geoche-
mically more evolved AABW in the valley or from more
local sources of seawater in the highlands. However,
other authors have interpreted such local variations
in nodule type in other areas of rugged bottom
topography in the C-C F.Z. in terms of the formation of
three genetic types of nodules, hydrogenous, diage-
netic, and mixed hydrogenous/diagenetic (Heye 1978;
Glasby et al. 1982; Skornyakova and Murdmaa 1992).
At DOMES Site A, the extreme hydrogenous endmem-
ber is characterized by a Mn/Fe ratio of 1.1, Ni + Cu of
1.0% and a Ce/La ratio of 2.7 and the extreme diagenetic
endmember by a Mn/Fe ratio of 5.2, Ni + Cu of 2.9%
and a Ce/La ratio of 2.5. Although the Ce/La ratios for
these two nodules are quite similar, the highest Ce/La
ratio for the hydrogenous nodules was 3.7 and the
lowest ratio for the diagenetic nodules 1.6 (see Glasby
et al. 1987; Kunzendorf et al. 1993). This suggests that
variations in the REE patterns of nodules at DOMES

11.4 Manganese Nodules and Crusts
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Site A may be better interpreted in terms of variations
in nodule type within the area rather than local varia-
tions in seawater chemistry as proposed by Calvert et
al.  (1987).

In addition, De Carlo and McMurtry (1992) have
analyzed 32 samples of Co-rich Mn crusts from the
Hawaiian Archipelago for REE (see section 11.4.4).
These samples contained on average 287 ppm La and
1,277 ppm Ce giving an average Ce/La ratio of 4.5.
This is intermediate between the ratios in nodules from
the Aitutaki Passage (Area K) and the C.C. FZ (Area
C) and is compatible with a hydrogenous origin for
these crusts.

11.4.4 Co-Rich Mn Crusts

Co-rich Mn crusts may be defined as hydroge-
nous manganese crusts having Co contents >1%
(Manheim 1986; Mangini et al. 1987; Hein et al.
2000). These crusts are typically 5-100 mm thick and
occur on older seamounts (100-60 Ma) in many of the
seamount chains in the equatorial Pacific such as the
Mid-Pacific Mountains and Line Islands. The crusts
are commonly found on exposed rock on seamount
slopes or on the summits of oceanic plateaux at water
depths of 3,000-1,100 m. Principal substrates include
basalts, hyaloclastites, indurated phosphorite and
claystone. A vertical section of a Co-rich Mn crust is
shown in Fig. 11.15. On plateaux and flat terraces
where fragments of rock or manganese crusts have
accumulated, manganese nodules may be seen lying
on the surface of calcareous ooze. Ripple marks
indicating the presence of strong bottom currents are
sometimes observed on this ooze. The average
composition of crusts from the 1,500-1,100 m depth
zone in the Mid-Pacific Mountains has been reported

as Mn 28.4%, Fe 14.3%, Co 1.18%, Ni 0.50%, Cu
0.03%, Pt 0.5 ppm, Mn/Fe 2.0. δMnO2 is the principal
manganese mineral present and they have a growth
rate of 1-2 mm Ma-1. The crusts have attracted
economic interest as a potential source of Co and, to
a lesser extent, Pt. The areas in which these crusts
generally form lie well above the CCD. Crusts
therefore tend to form in regions of strong bottom
current activity which can prevent the deposition of
calcareous ooze by erosion.

The variation in the composition of manganese
crusts from the Mid-Pacific Mountains with water
depth is presented in Table 11.5. These data show that
these crusts are hydrogenous in origin (based on their
Mn/Fe ratios) but they tend to have much higher Co
and lower Cu contents than deep-sea nodules from
the same region. The Mn/Fe ratios, Co and Ni contents
are highest but the Cu contents lowest in crusts in the
depth range 1,900-1,100 m. The positive correlation of
Mn, Co and Ni reflects that association of these
elements in δMnO2. Overall, the Pt content of the crusts
is very high, in the range 0.2-1.2 ppm with an average
of 0.5 ppm.

Halbach and Puteanus (1984) showed that the
dissolution of calcareous tests in the water column
plays a key role in the incorporation of Fe into these
crusts. The calcareous tests contain about 500 ppm Fe.
The flux of Fe to the surface of the crusts derived from
the release of colloidal Fe oxyhydroxide particles on
dissolution of the calcareous tests was estimated to be
about 15 µg cm-2 a-1 which is almost equivalent to the
flux of Fe in the concretions of  22.4 - 44.8 µg cm-2 a-1.
The rate of incorporation of Fe into the crusts is
therefore related to the position of the lysocline. Based
on such considerations, these authors concluded that
the metal supply from the water column to the crusts

water depth Mn Fe Co Ni Cu Mn/Fe
(m)

1100 - 1500 28.4 14.3 1.18 0.50 0.03 1.99
1500 - 1900 24.7 15.3 0.90 0.42 0.06 1.61
1900 - 2400 25.5 16.1 0.88 0.41 0.07 1.58
2400 - 3000 20.5 19.5 0.69 0.18 0.09 1.05
3000 - 4000 20.5 18.0 0.63 0.35 0.13 1.41
4000 - 4400 19.7 16.7 0.67 0.24 0.10 1.17

Table 11.5 Variation of the composition of manganese crusts from the Mid-Pacific Mountains with water depth
(after Mangini et al. 1987). Analyses expressed as wt. % of dried material.
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is controlled by a number of factors such as changes
in oceanic productivity, depth of the lysocline, rate of
CaCO3 dissolution and strength of AABW flow.

The highest Co contents are found in crusts
occurring in the depth range 1,900-1,100 m which
corresponds to the depth of the oxygen minimum zone.
In samples taken from summits and the upper parts of
slopes at depths less than 1,500 m, the Co contents of
the crusts sometimes exceed 2%. At this depth, Mn
tends to remain in solution because the deposition of
MnO2 is not favored at these low oxygen contents.
The deposition rate of MnO2 is therefore at a
minimum and the Mn content in seawater at a maxi-
mum of about 2 nmol kg-1. The flux of Co to the surface
of the crusts remains constant with water depth at
about 2.9 µg cm-2 ka-1. The Co content of crusts is
therefore a maximum just below the oxygen minimum
zone and no special source of Co is required to explain
their formation (Puteanus and Halbach 1988).

Pt is also significantly enriched in Co-rich crusts
(Hein et al. 1988, 1997; Halbach et al. 1989). However,
the mechanism of enrichment in the crusts is not well
understood. Hodge et al. (1985) argued that Pt is
oxidized from the PtCl4

2- state in seawater to the
tetravalent state in manganese nodules. This process
was thought to be responsible for the anomalously
high Pt/Pd ratios in nodules (50-1,000) compared to
seawater (4.5). However, Halbach et al. (1989) con-
sidered that this process would not be possible

because the first formed tetravalent species, PtCl6
2-,

would be very stable in oxygenated seawater. Instead,
they proposed that the PtCl4

2- would be reduced to Pt
metal in the crusts with some minor amounts of Pt
being introduced from cosmic spherules. Mn2+ was
assumed to be the reducing agent for the reduction of
the PtCl4

2-.
However, Stüben et al. (1999) subsequently plotted

stability field diagrams for Pt and Pd and showed that
Pt is present in seawater dominantly as Pt(OH)2° and
is close to saturation under seawater conditions. From
this, it was argued that Pt is enriched in Co-rich crusts
mainly as a result of the preferential adsorption of
Pt(OH)2° onto the surface of Mn and Fe oxyhydroxide
minerals. Pd, on the other hand, lies at the boundary
of the stability fields of PdCl4

2- and Pd(OH)2° and is
probably undersaturated in seawater. Since PdCl4

2- can
not be adsorbed on Mn oxyhydroxides which have a
negative surface charge, this would explain the so-
called negative Pd anomaly in marine manganese
deposits.

For Cu, the EH-pH diagram shows that the
boundary between Cu2+ and CuCl3

2- as the dominant
species in seawater lies slightly above the normal range
of redox conditions in seawater (EH of +0.48 V) (Fig.
11.16). At an EH of +0.4 V, the concentration of Cu2+ in
seawater would still be sufficient for it to be incor-
porated into manganese nodules by sorption on the
surface of negatively charged MnO2 (Glasby 1974;

Fig. 11.15 Vertical section of a Co-rich Mn crust from the flanks of a guyot on the Ogasawara Plateau; N.W. Pacific
(25°18.9’N, 143°54.8’E; 1515 m) collected by dredge during a cruise of the GSJ with R.V. Hakurei-maru in 1986. The
substrate (not clearly seen) is phosphatized limestone. The crust is more than 20 cm across, about 10 cm thick and has
a knobby surface texture. Element contents are: Mn 21.7%, Fe 18.9%, Co 0.81%, Ni 0.31%, Cu 0.04%, Pb 0.26% and
Pt 0.29 ppm. The upper layer of the crust displays the highest Co content and the bottom layer the highest Pt (0.78
ppm). δMnO2 is the principal mineral present with minor quartz and plagioclase. Photograph courtesy of A. Usui, GSJ.
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Glasby and Thijssen 1982). At somewhat lower EH

values, however, the concentration of Cu2+ in seawater
would decline drastically and the anionic species
CuCl3

2- would become the dominant species. Its
sorption on MnO2 would then be inhibited by charge
considerations. This may well explain the high Ni/Cu
ratios observed in cobalt-rich manganese crusts (max.
15) formed adjacent to the oxygen minimum zone where
less oxidizing conditions prevail (Mangini et al. 1987;
Meylan et al. 1990).

In many crusts, two generations of crustal growth
can be observed, an older crust (18-12 Ma) and a
younger crust (<12 Ma) which are separated by a thin
phosphorite horizon (e.g. Halbach and Puteanus 1984;
Mangini et al. 1987; Puteanus and Halbach 1988).
However, McMurtry et al. (1994) and Jeong et al. (2000)
subsequently obtained quite different ages for this
boundary which are difficult to explain. For example,
McMurtry et al. (1994) considered this boundary to
have a minimum Oligocene age (28-33 Ma) and possibly
a Late Paleocene age (55 Ma) based on dating of fran-
colite in the Schumann Seamount crust. Jeong et al.
(2000) also dated the age of this boundary in two crusts
from seamounts in the Marshall Islands and Micronesia

at 25 Ma. Pulyaeva (1997), on the other hand, tenta-
tively accepted the boundary age for the younger crust
generation proposed by Halbach and Puteanus (1984)
for custs from the Magellan Seamount chain.

However, these age differences may be a case of
mistaken identity (see section 11.4.10.1). Hein et al.
(1993) have reported that two major phosphogenic
episodes took place in the oceans during the period
of formation of older crust layers centred on the
Eocene-Oligocene (~34 Ma) and Oligocene-Miocene
(~24 Ma) boundaries with a minor event in the Middle
Miocene (~15 Ma). It is therefore possible that older
ages for phosphogenesis reported by both McMurtry
et al. (1994) and Jeong et al. (2000) correspond to one
of the older episodes of phosphogenesis described
by Hein et al. (1993, 2000). This view is supported by
the observation of Jeong et al. (2000) that phos-
phatization on the seamounts of the Marshall Islands
lasted until the peak of the second major epoch of
phosphogenesis (25 Ma) reported by Hein et al. (1993)
and was much earlier than the middle Miocene
phosphatization (18-12 Ma) which is generally
believed to be the time of crust phosphatization in
the Pacific.
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Co-rich Mn crusts.
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Koschinsky et al. (1997) have also related diffe-
rences in composition between the older and
younger layers of Co-rich crusts to the expansion of
the oxygen minimium zone during periods of
phosphatization of the older crust layers which led
to the diagenetic remobilization of certain elements
within this layer of the crust.

In order to be of potential economic interest,
crusts should have Co contents >0.8%, average
crustal thicknesses >40 mm and be situated in an
area of subdued small-scale topography. Based on
their extensive experience of studying Co-rich Mn
crusts, Hein et al. (1987) listed a number of other
criteria for locating interesting crusts. The crusts
should be situated on large volcanic edifices shal-
lower than 1,500-1,000 m and older than 20 Ma
occurring in areas of strong oceanic bottom currents.
The volcanic structures should not be capped by
large modern atolls or reefs and the seamount slopes
should be stable. The area should not be influenced
by the input of abundant fluvial or eolian debris and
there should be no local active volcanism. Most
importantly, the area should be characterized by a
shallow and stable oxygen minimum zone. In
particular, the importance of mass wasting of coral
debris from atolls and guyots in tropical envi-
ronments is stressed. In a detailed sampling pro-
gramme around islands and seamounts in the area of
the Manihiki Plateau in the equatorial South Pacific,
Meylan et al. (1990) recovered only thin Mn crusts
with a maximum thickness of 20 mm because of the
extensive mass wasting of limestone debris in the
region which gave insufficient time for thick crusts
to develop.

11.4.5 Shallow-Marine Ferromanganese
Concretions

Shallow-water continental margin ferromanganese
concretions have been reported in a number of areas
such as the Baltic Sea, Black Sea, Kara Sea, Loch Fyne,
Scotland, and Jervis Inlet, British Columbia (Calvert
and Price 1977). In fact, these were the first type of
marine Mn deposits to be discovered, during the 1868
Sofia expedition to the Kara Sea led by A.E. Norden-
skiøld (Earney 1990).

Ferromanganese concretions from the Baltic Sea
have been described in detail by Glasby et al. (1997a).
Three main types of concretions occur there (sphero-
idal, discoidal and crusts). The concretions frequently,
although not always, form around a glacial erratic seed
or nucleus and display alternate banding of Fe- and
Mn-rich layers tens to hundreds of µm thick. Minera-
logically, the concretions consist of 10 Å manganate
with abundant quartz and lesser amounts of feldspar
and montmorillonite. The composition of the concre-
tions is highly variable reflecting, in part, the variable
amount of erratic material in the concretion. The
composition is controlled by the redox characteristics
of the environment. In particular, the higher Mn/Fe
ratios of concretions from Kiel Bay compared to those
from other areas of the Baltic reflects the diagenetic
remobilization of Mn from the adjacent muds into the
concretions during the summer anoxia (Table 11.6).
This may be considered to be an example of the role of
anoxic diagenesis in the formation of shallow-marine
ferromanganese concretions (Glasby et al. 1997a). Cu,
Zn and Pb may be trapped as sulfides in the associated
sediments and this may explain their low contents in

Gulf of Gulf of Gulf of Gotland Gdansk Kiel
Bothnia Finland Riga Region Bay Bay

Mn 14.6 13.3 9.7 14 8.7 29.3
Fe 16.6 19.7 22.8 22.5 18.5 10.1
Co 140 96 64 160 91 77
Ni 260 35 47 750 148 97
Cu 80 9 17 48 42 21
Zn 200 113 135 80 137 340

Mn/Fe 0.88 0.68 0.43 0.62 0.47 2.9

Table 11.6 Average composition of ferromanganese concretions from various basins of the Baltic Sea. Mn and Fe in
per cent; Co, Ni, Cu and Zn in ppm (after Glasby et al. 1997a).
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the concretions compared to deep-sea nodules. The
growth rates of the concretions have been estimated to
be 3-4 orders of magnitude higher than those of deep-
sea nodules. A 20 mm diameter concretion is therefore
about 500-800 years old (Glasby et al. 1996). This means
that these concretions are transient features on the sea
floor. In active areas of the sea floor, concretions may
be buried by sediment during storms and new con-
cretions then begin to form on erratic material exposed
at the sediment surface. Certain anthropogenic ele-
ments, notably Zn, are enriched in the outer layers of
the concretions as a result of the pollution of Baltic
seawater over the last 160 years or so. Zn profiles in
the outer layers of these concretions can therefore be
used to monitor heavy-metal pollution in Baltic
(Hlawatsch 1999; Hlawatsch et al. 2002). This
technique will be useful if the planned clean up of the
Baltic Sea is to be achieved during the present century.

Baltic Sea concretions can be classified into three
main types based on their abundance, morphology,
composition and mode of formation: those from the
Gulfs of Bothnia, Finland and Riga, from the Baltic
Proper and from the western Belt Sea.

Concretions from the Gulf of Bothnia are most
abundant in Bothnian Bay where the abundance
reaches 15-40 kg m-2 in an area of about 200 km2. This
is equivalent to about 3 million tons of concretions
and has led to these deposits being evaluated as a
possible economic source of Mn. These concretions
are mainly spheroidal up to 25-30 mm in diameter and
are formed in the uppermost water-rich sediment layers
at well-oxidized sites. They are most abundant where
sedimentation rates are <0.4 mm a-1.

Concretions from the Baltic Proper are found mainly
around the margins of the deep basins in a depth range
48-103 m. The concretions are mainly discoidal 20-150
mm in diameter and crusts. Their abundance is mainly
sporadic and more rarely common to abundant. Locally,
abundances of 10-16 kg m-2 are attained. Their formation
is the result of the build up of Mn and Fe in the anoxic
waters of the deep basins of the Baltic Proper. During
major inflows of North Sea water (>100 km3) into the
Baltic which occur on average once every 11 years,
the anoxic waters are flushed out of the basins. Mn
and Fe precipitate out as an unstable gel but are
ultimately incorporated into the concretions as

Fig. 11.17 A photograph showing the upper surface of a hydrothermal Mn crust from the Tyrrhenian Sea
(39°31.40’N, 14°43.67’E, 996 m). Part of the surface displays the characteristic black metallic sheen of hydrothermal
crusts (after Eckardt et al. 1997).
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oxyhydroxides. These concretions occur mainly on
lag deposits in the vicinity of the halocline where
strong bottom currents occur.

Concretions from Kiel Bay in the western Belt Sea
occur in a narrow depth range of 20-28 m at the
boundary between sands and mud in zones of active
bottom currents. They occur as coatings on molluscs
and as spheroidal and discoidal concretions. The
formation of the concretions is influenced by the
development of summer anoxia which leads to the
diagenetic remobilization and lateral transport of Mn.
This accounts for the high Mn/Fe ratios of these
concretions.

Marcus et al. (2004) have studied the speciation of
Mn, Fe, Zn and As in one of the Baltic Sea concretions
described by Hlawatsch et al. (2002) by means of micro
X-ray fluorescence, micro X-ray diffraction and micro
X-ray spectroscopy. The concretion was shown to
consist of thin, alternating Fe- and Mn-rich layers.
The Fe-rich layers consisted of two-line ferrihydrite in
which As was mostly pentavalent and the Mn-rich
layers consisted of birnessite in which Zn is
tetrahedrally coordinated and sorbed in the interlayers
of birnessite. The occurrence of ~15% of As(III) in Fe-
rich layers and of ~15% Mn3+ in Mn-rich layers was
thought to reflect the stagnation of the bottom waters
at the time of the deposition of the Fe- and Mn-rich
layers.

11.4.6 Hydrothermal Manganese Crusts

At mid-ocean ridges, three types of submarine
hydrothermal minerals are found, sulfide minerals as-
sociated with silicates and oxides, sharply frac-
tionated oxides and silicates of localized extent and
widely dispersed ferromanganese oxides. The ferro-
manganese oxides are generally considered to have
precipitated last in this sequence and are thought to
represent a late-stage, low-temperature hydrothermal
phase with temperatures of deposition estimated to
be in the range 20-5°C (Burgath and von Stackelberg
1995). The hydrothermal Mn deposits are charac-
terized by high Mn/Fe ratios and low contents of Cu,
Ni, Zn, Co, Pb and detrital silicate minerals. They
have growth rates exceeding 1,000 mm Ma-1 in some
cases, more than three orders of magnitude faster
than that of hydrogenous deep-sea nodules and
crusts.

Compared to hydrogenous Mn nodules and crusts,
hydrothermal Mn crusts are relatively restricted in the
marine environment and make up less than 1% of the
total Mn deposits in the world ocean. These crusts
occur in all types of active oceanic environments such

as at active mid-ocean spreading centers in the depth
range 250-5,440 m, in back-arc basins in the depth range
50-3,900 m, in island arcs in the depth range 200-2,800
m (Eckhardt et al. 1997), in mid-plate submarine rift
zones in the depth range 1,500-2,200 m (Hein et al.
1996) and at hot spot volcanoes in the depth range
638-1,260 m (Eckhardt et al. 1997). Fossil submarine
hydrothermal manganese deposits have also been
recovered from sediment cores in the Izu-Bonin Arc
(Usui 1992) and the Central Pacific Basin (Usui et al.
1997).

Submarine hydrothermal Mn crusts have been
reported from Enareta and Palinuro seamounts in the
Tyrrhenian Sea (Eckhardt et al. 1977), along the Izu-
Bonin-Mariana Arc (Usui et al. 1986, 1989; Usui and
Nishimura 1992; Usui and Terashima 1997; Usui and
Glasby 1998) and at the Pitcairn hotspot (Glasby et al.
1997b; Scholten et al. 2004). The Tyrrhenian Sea crusts
consist of porous, black, layered Mn oxides up to 45
mm thick. In some cases, the surface has a black metallic
sheen. The crusts overlie substrates such as calca-
reous sediment, siltstone and oyster shells. A photo-
graph of a hydrothermal Mn crust from the Tyrrhenian
Sea is shown in Figure 11.17. The crusts consist
dominantly of 10Å manganate and 7Å manganate with
minor quartz, illite, montmorillonite, plagioclase and
goethite. The sample having the highest Mn content
contained 54.2% Mn, 0.07% Fe, 33 ppm Ni, 200 ppm
Cu, 20 ppm Zn, 11 ppm Pb and 910 ppm Ba with a Mn/
Fe ratio of 774. It also had a low REE abundance and a
negative Ce anomaly.

Submarine hydrothermal Mn crusts are also
relatively common along the Izu-Bonin-Mariana Arc.
Recent hydrothermal manganese crusts associated
with active hydrothermal systems tend to occur on
seamounts or rifts located about 5-40 km behind the
volcanic front on the Shichito-Iwojima Ridge. Fossil
hydrothermal Mn crusts associated with inactive
hydrothermal systems occur on seamounts located
on older ridges running parallel to the volcanic front
in both forearc and backarc settings. Fossil hydro-
thermal Mn crusts are generally overlain by hydro-
genetic Mn oxides. The thickness of the overlying
hydrogenetic Mn crust depends on the length of time
since hydrothermal activity ceased. Figure 11.18 shows
the distribution of recent and fossil submarine
hydrothermal Mn crusts across the Izu-Bonin Arc.
Mineralogically, the hydrothermal Mn deposits
consist of 10 Å manganate and/or 7 Å manganate.
The Mn/Fe ratios of these deposits range from 10 to
4,670 and the contents of Cu, Ni, Zn, Co and Pb from
20 to 1,000, 1 to 1,403, 1 to 1,233,  6 to 209  and 0 to 93
ppm, respectively.

11.4 Manganese Nodules and Crusts
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At the Pitcairn hotspot, massive hydrothermal Mn
crusts display the highest Mn/Fe ratios (2,440), the
lowest contents of Ni (18ppm) and Zn (21ppm) as well
as the lowest aluminosilicate fraction (<1%) in individual
horizons (sample 69-3 DS at a depth of 7-8 mm). This
type of crust may therefore be considered to represent
the most extreme hydrothermal endmember. The other
types of hydrothermal Mn crust are probably formed
as a result of the interpenetration and replacement of
volcanoclastic sands or biogenic carbonates by
hydrothermal Mn oxides. The low contents of Fe,
Ni and Zn in the massive crusts were thought to
reflect the rapid incorporation of these elements into
sulphide minerals within the interior of the hotspot
volcano such that only a small proportion of these
elements are available for incorporation in the
crusts. The small positive Eu anomaly in the crusts
on a NASC-normalized basis indicated lower
temperatures of the hydrothermal fluids within the
hotspot volcano (<250ºC) compared to those at mid-
ocean ridges (c.350ºC). A laser-ablation ICP-MS profile
in one of the crusts revealed varying REE concentrations
and patterns in the different layers of the crust. These
data showed that the hydrothermal component was
variable during the formation of the crust and was
almost 100% in the upper layers of this crust but about
80% in the lower layers.

In addition to submarine hydrothermal manganese
crusts formed near submarine hydrothermal vents,

submarine hydrothermal plumes can transport
detectable amounts of manganese up to 1,000 km from
the crests of mid-ocean ridges (Burton and Statham
1988) (see section 11.2). Under favourable circum-
stances, part of this manganese can then settle out
over manganese nodule fields and contribute to nodule
growth. As an example, Chen and Owen (1989)
identified a hydrothermal component in deep-sea
manganese nodules from the southeast Pacific based
on Q-mode factor analysis of compositional data for
76 nodules. The hydrothermal component was shown
to have a Mn/Fe ratio of 0.31 which is typical of
metalliferous sediments and to be distributed in two
areas, one west of the East Pacific Rise between 3 and
25°S and the other east of the East Pacific Rise south
of 25°S. These observations are supported by the
subsequent identification of hydrothermal helium
plumes in the South Pacific by Lupton (1998) in which
a pair of intense hydrothermal plumes was observed
to extend westwards from the East Pacific Rise at 10°S
and 15°S at a water depth of 2,500 m and a plume of
lesser intensity to extend eastwards into the Chile
Basin at 30°S. The study of Chen and Owen (1989)
therefore showed that a hydrothermal component can
be incorporated into deep-sea manganese nodules
forming within 1,000 km or so of an active mid-ocean
ridge and not just into metalliferous sediments as is
commonly assumed (Kunzendorf  et al. 1993; Marchig
2000; Dekov et al. 2003; van de Fliert et al. 2003a).

Fig. 11.18 A schematic diagram showing the distribution of hydrogenous and hydrothermal Mn deposits across an E-
W section of the northwest Pacific island arc, south of Japan (after Usui and Terashima 1997). Four types of deposit
are observed: i. hydrogenous Mn crusts and nodules occurring on Pacific seamounts and in deep-sea basins, ii. hydrog-
enous crusts on marginal seamounts of the remnant arcs, iii. modern hydrothermal Mn deposits associated with
submarine volcanoes and backarc rifts in the active volcanic ridge, and iv. fossil hydrothermal Mn deposits usually
overlain by younger hydrogenous Mn crusts from seamounts of the remnant arc. Each type of deposit has its own
characteristic mineralogy, composition and growth rate. The growth of these deposits is closely related the evolution
of the island arc system.
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11.4.7 Micronodules

Manganese micronodules are an important reservoir
for Mn and associated transition elements in oxic deep-
sea sediments (Stoffers et al. 1984). They are generally
<1 mm in diameter. By contrast, macronodules are
generally >3-6 mm. There is therefore a size gap in
which no Mn deposits are found. This is a conse-
quence of the fact that macronodules require a discrete
nucleus several mm in diameter on which to form (Heath
1981). The abundance of micronodules appears to be
inversely related to the sedimentation rate with highest
abundances occurring in dark brown clays where sedi-
mentation rates are low. The shape and internal
structure of the micronodules is dependent on the
nature of the seed material around which they form, of
which calcareous tests, siliceous tests and volcani-
clastic material are the most important. Micronodules
tend to predominate in the coarse fraction of the
sediment. The mineralogy and composition of the
micronodules tend to be similar to that of the
associated nodules, although differences do exist.
Micronodules tend to have higher Mn/Fe ratios than
nodules from the same sediment core. These diffe-

rences are related to the depth of occurrence of the
micronodules within the sediment column and reflect
the importance of diagenetic processes in remobilizing
elements within the sediment. In this sense, micro-
nodules may be considered a transient feature which
serves as a medium for recycling elements within the
sediment and ultimately into manganese nodules. The
study of micronodules has received relatively little
attention because of the difficulty of hand picking them
from the sediment.

In a detailed study of micronodules from various
areas of the Pacific, Stoffers et al. (1984) showed that
micronodules are characterized by regional variations
in shape, texture, mineralogy and composition. Micro-
nodules from the Southwestern Pacific Basin are most
abundant in the dark brown clays of the central part of
the basin. Mineralogically, these micronodules consist
of 10 Å manganate and δMnO2 with traces of quartz,
phillipsite, quartz and feldspar. They have Mn/Fe
ratios of 2.4 and Ni+Cu contents of 1.3%. These Mn/
Fe ratios are somewhat higher than for the associated
nodules but the Ni+Cu contents somewhat lower. The
micronodules are botryoidal with smooth surface
texture. Under the SEM, the surfaces of the micro-
nodules display a honeycomb texture.
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Fig. 11.19 A plot of Ni+Cu against Mn/Fe for micronodules from various areas in the Pacific (after Stoffers et al.
1984). SO-06 samples taken from the Clarion-Clipperton F.Z. region, SO-11 from the Peru Basin and SO-14 from the
Southwestern Pacific Basin.
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Micronodules from the C-C F.Z. occur mainly within
siliceous ooze. They consist of 10 Å manganate with
traces of quartz and sometimes phillipsite. They have
Mn/Fe ratios of 4.7 and Ni+Cu contents of 1.7%. Again,
the Mn/Fe ratios are somewhat higher than for the
associated nodules but the Ni+Cu contents somewhat
lower. The micronodules are dominantly spheroidal or
have rod-like structures. Under the SEM, the surfaces
of the micronodules consist of plates.

Micronodules from the Peru Basin occur in three
stratigraphic horizons. The upper 50-100 mm of the
core consists of a homogeneous brown calcareous-
siliceous mud containing a high abundance of
micronodules. The micronodules are larger (125-500
mm) than those taken deeper in the core (40-125mm)
and have a mamillated botryoidal surface texture similar
to that of the associated macronodules. They consist
of 10 Å manganate with traces of quartz and feldspar.
They have Mn/Fe ratios of 8.7 and Ni+Cu contents of
2.1%. These sediments are underlain by a highly
bioturbated light yellowish brown mud containing
varying amounts of calcareous and siliceous orga-
nisms. These micronodules have a smooth surface
texture. The replacement of radiolaria and foraminifera
can be clearly seen under the SEM. The micronodules
are coarsely crystalline with well-defined rod-like
structures. They consist of 10 Å manganate with traces
of quartz and feldspar and have Mn/Fe ratios of 1.9
and Ni+Cu contents of 0.9%. The sharp drop in the
Mn/Fe ratios of these micronodules compared with
those from the sediment surface suggests that remo-
bilization of Mn and associated transition elements
has taken place within this sediment horizon. At the
base lies a dark overconsolidated clay with a low
content of siliceous tests but containing volcanic glass
and fish teeth. These micronodules have Mn/Fe ratios
of 5.0 and Ni+Cu contents of 1.3%. The high Mn/Fe
ratios of these micronodules suggest a well-oxidized
sedimentary environment from which no diagenetic
remobilization has taken place. The importance of
element remobilization in the yellowish brown muds is
confirmed by the fact that micronodule abundance is
high in the surface sediments, low in the yellowish
brown muds and high again in the dark brown clays.

A plot of Ni+Cu against Mn/Fe for micro-nodules
from various areas in the Pacific is presented in Figure
11.19. It is seen that, although Mn/Fe ratios in micro-
nodules >20 can occur, particularly in the Peru Basin,
there is no well-defined point of reversal such as
observed for Mn nodules (Fig. 11.14), although there
is a flattening of the curve at a Mn/Fe ratio of about
10. This is a consequence of the fact that the micro-
nodules occur within the sediment column where

conditions are less oxidizing than at the sediment
surface. Pore waters are not as enriched in Mn, Ni and
Cu within the sediment as at the sediment surface and
the Mn/Fe ratios and Ni+Cu contents of micronodules
are never as high as in the associated macronodules.
Diagenetic fractionation of elements in micronodules
is therefore not as pronounced as in the associated
macronodules.

11.4.8 Mineralogy

There are three principal phases in manganese
nodules, Mn oxides which tend to incorporate
cationic transition metal species such as Ni2+,
Cu2+ and Zn2+, Fe oxyhydroxides which tend to
incorporate anionic species such as HPO4

2-,
HAsO4

2-, HVO4
2-, MoO4

2- and WO4
2- as well as the

REE and Co3+ and detrital aluminosilicates which
consist of elements such as SiO2, Al2O3, TiO2 and
Cr2O3. In addition, carbonate fluorapatite (franco-
lite) also occurs in older generations of Co-rich
manganese crusts and as a discrete layer bet-
ween the older and younger crust generations.
Concentrations of individual elements in deep-
sea Mn nodules and crusts therefore tend to
covary with the relative amounts of these four
phases (cf. Koschinsky and Halbach 1995; Ko-
schinsky and Hein, 2003).

Three principal Mn oxide minerals are found in
Mn nodules and crusts. Their principal X-ray diffrac-
tion peaks are given below together with their alter-
native mineral names (in parenthesis):

10 Å manganate     9.7 Å 4.8 Å  2.4 Å   1.4Å
(todorokite, buserite, 10 Å manganite)

7 Å manganate        7.3 Å    3.6 Å   2.4 Å    1.4Å
(birnessite, 7 Å manganite)

δMnO2                                             2.4 Å    1.4Å
(vernadite)

Mn oxide minerals are characterized by fine grain
size in the range 100-1,000 Å. These minerals are poorly
crystalline and give diffuse X-ray diffraction patterns.
FeOOH minerals also tend to be fine grained with sizes
of the order of 100 Å and are generally X-ray
amorphous (Johnson and Glasby 1969). In chloride-
bearing solutions such as seawater, akagenéite (β-
FeOOH) has been identified as the principal iron
oxyhydroxide mineral present by Mössbauer spec-
troscopy (Johnston and Glasby 1978). However, there
are no independent Fe-bearing minerals in Mn nodules.
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Rather, δMnO2 may be considered to be a randomly
stacked Fe-Mn mineral. Some authors have suggested
that there is usually an intimate association of δMnO2

and FeOOH · xH2O in deep-sea hydrogenous nodules
due to the transport of minerals as colloidal particles and
subsequent coagulation of these particles (Halbach et
al. 1981). Detrital minerals such as quartz and feldspar
normally give much stronger X-ray diffraction peaks
than the Mn and Fe oxides. Within various types of
nodules and crusts, the following Mn and Fe oxide
minerals tend to be found.

Shallow-water concretions 10 Å manganate
(Baltic Sea, Loch Fyne, Scotland)

Hydrothermal Mn crusts 10 Å manganate +
7 Å manganate

Deep-sea hydrogenous δMnO2
Mn nodules and crusts

Deep-sea diagenetic Mn nodules 10 Å manganate

Within the Mn oxide minerals, there is a well-known
dehydration sequence, 10 Å manganate → 7 Å manga-
nate → δMnO2 (Glasby 1972; Dymond et al. 1984).
Samples collected on board ship must therefore be
preserved moist in seawater to prevent mineralogical
change on drying (Glasby et al. 1997a). A similar redox
sequence 10 Å manganate → 7 Å manganate →
δMnO2 is also observed in nodules. This means that
nodules formed in less-oxidizing environments tend
to contain 10 Å manganate whereas those formed in
more-oxidizing environments tend to contain δMnO2

(Glasby 1972). This trend is confirmed by the O/Mn
ratios in nodules which vary from 1.60 in shallow-water
concretions to 1.95 in deep-sea nodules. 98% of the
Mn in deep-sea nodules is therefore in the Mn (IV)
form (Murray et al. 1984; Piper et al. 1984).

Modern ideas on the structure of Mn oxides are
based largely on the work of R. Giovanoli of the Univer-
sity of Berne. Much of this work was carried out on
synthetic 10 Å (Na+)-manganate prepared by the rapid
oxidation of Mn(OH)2 with O2 for 5 hrs. Two types of
10 Å manganate may be considered. Todorokite is a
large tunnel-structure mineral based on MnO6 octahe-
dra which can not expand or contract on heating to
100°C (or even 400°C) (Burns and Burns 1977, 1980;
Turner and Buseck 1981; Waychunas 1991; Mellin and
Lei 1993; Lei 1996; Post 1999). Buserite, on the other
hand, is a phyllomanganate mineral with an expandable
or contractible sheet-like structure (Giovanoli and
Bürki 1975; Giovanoli 1980, 1985; Giovanoli and
Arrhenius 1988; Waychunas 1991; Kuma et al. 1994;

Usui and Mita 1995; Post 1999). It contains exchan-
geable interlayer cations (Ca2+, Mg2+, Cu2+, Ni2+, Co2+,
2Na+) which occupy specific lattice sites. The ratio of
these metals to Mn is 1:6 or 1:7. The uptake sequence
of these metals into the buserite structure is Cu2+ >
Co2+ > Ni2+ > Zn2+ > Mn2+ > Ca2+ > Mg2+ > Na+. Fe can
not enter the buserite lattice because any Fe2+ would
be oxidized to insoluble FeOOH by Mn4+. Instead, any
excess FeOOH in the sediments reacts with the
dissolving siliceous tests to form nontronite and
therefore fix Fe in siliceous sediments. This explains
the high Mn/Fe ratios in diagenetic nodules from oxic
environments. Buserite may be considered to be an
expandable or contractible sheet which can accom-
modate hydrated stabilizing interlayer cations. It can
therefore be distinguished from todorokite by expan-
ding the interlayer spacing to 25 Å on treatment with
dodecylammonium hydrochloride or contracting it to
7 Å on heating in air to 100°C. Usui et al. (1989) had
previously described the influence of divalent cations
in stabilizing the structures of todorokite-like and
buserite-like manganese oxide minerals in seawater, in
air and dried in air at 110°C (cf. Usui 1979).

Mellin and Lei (1993) have explained the mineralogy
of the principal marine Mn deposits in the following
terms. Low-temperature hydrothermal 10 Å manganate
has a less stable todorokite-like structure with tunnel
walls composed of Mn2+O2x

2-(OH)6-2x octahedra. High-
temperature hydrothermal 10 Å manganate has a more
stable todorokite-like structure as a result of the
oxidation of interlayer Mn2+. In both cases, divalent
cations such as Cu2+, Ni2+ and Zn2+ are deposited as
sulfides prior to the deposition of Mn minerals which
explains the low contents of these metals in these
deposits. Diagenetic 10 Å manganate, on the other
hand, has an unstable buserite-like structure. Divalent
cations such as Ni2+, Cu2+, Zn2+, Mg2+ and Ca2+ can
substitute for 2Na+ in the interlayer spacing. Diagenetic
deep-sea nodules formed in oxic environments have
high Cu2+ and Ni2+ contents (up to 2%) as a result of
the release of these elements from siliceous tests. The
resulting high contents of Ni+Cu in these nodules
explain their commercial interest. Diagenetic shallow-
water concretions have low Cu2+ and Ni2+ contents
(<0.1%) as a result of trapping these elements in the
sediment column as sulfides. The composition of
marine manganese deposits therefore reflects both the
mineralogy of the sample and the availability of the
transition metal ions for nodule formation (Glasby and
Thijssen 1982).

   The mineralogical data reported above were
obtained from X-ray diffraction analysis. However, this
technique has distinct limitations when applied to the

11.4 Manganese Nodules and Crusts
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study of marine manganese nodules and crusts where
the minerals making up these deposits are fine grained
and the powder diffraction patterns for many of these
minerals are similar (Post 1999). This makes the
unambiguous identification of these minerals difficult
(Manceau et al. 1992a). For this reason, other tech-
niques have been used to study the mineralogy of
these deposits at the micron (µm) level such as electron
diffraction (Varentsov et al. 1991) and X-ray absorption
spectroscopy (XAS). XAS includes both X-ray
absorption near-edge structure (XANES) and extended
X-ray absorption fine structure (EXAFS) (Manceau et
al. 1992a,b, 2002; Drits et al. 1997; Silvester et al. 1997).
Studies using these techniques were initiated by F.V.
Chukhrov, Director of the Institute of Geology of Ore
Deposits of the Russian Academy of Sciences in
Moscow, in the 1980s (e.g. Chukhrov et al. 1989) and
achieved world recognition following joint Franco-
Russian work on this topic.

Using these methods, it was established that the
10 Å phase in manganese nodules actually belongs to
one of at least seven minerals each with different struc-
tural characteristics: asbolane (a Co-Ni-bearing manga-
nese oxide mineral), buserite-I, buserite-II, todorokite,
mixed-layered phases: asbolane-buserite-I, buserite-I-
buserite-II and buserite-I-“defective lithiophorite“
(Manceau et al. 1987, 1992b; Drits et al. 1997). In the
case of the manganese crust from Krylov Seamount
located in the eastern North Atlantic on the Cape Verde
plate, Varentsov et al. (1991a) showed that the lower
layers of the crust consisted dominantly of Fe-
vernadite (δMnO2) and goethite with admixtures of
mixed layered asbolane-buserite whereas the upper
layers consisted of Fe-vernadite and feroxyhite
(δFeOOH) with subordinate amounts of birnessite,
mixed-layered asbolane-buserite and goethite (cf.
Varentsov et al. 1991b). This sequence was thought to
reflect a significant hydrothermal input into the crust
when it first formed near the crest of the Mid-Atlantic
Ridge which was followed by a dominantly hydroge-
nous origin. In addition, asbolane has been shown to
occur as flakes and microflakes in manganese crusts
and nodules from the Atlantis Fracture Zone and
Krylov Seamount in the Atlantic Ocean, the Kurchatov
Fracture Zone and the Chile Plate in the Pacific Ocean
and in manganese micronodules in nannofossil ooze
from the Indian Ocean (Chukhrov et al. 1982, 1983).

An important question is the anomalous position
of Co in the geochemistry of manganese nodules.
Glasby and Thijssen (1982) have interpreted this in
terms of the crystal field characteristics of Co. On this
basis, Co3+ (d6) is stable in nodules in the low spin
state with octahedral coordination and has an ionic

radius of 0.53 Å which is almost identical to that of
Fe3+ and Mn4+. As such, Co may substitute in either
MnO2 or FeOOH as the trivalent ion but not in the
interlayer spacing of 10 Å manganate as the divalent
ion as is the case for Ni2+, Cu2+, Zn2+ and Mn2+. The
ability of Co to substitute in both Mn and Fe oxyhy-
droxides leads to its correlation with either Mn or Fe
in nodules or crusts depending on the environment of
formation (Burns and Burns 1977, 1980; Halbach et al.
1983; Giovanoli and Arrhenius 1988). Experimental
evidence has confirmed that Co3+ is the dominant form
of Co in Mn nodules (Dillard et al. 1984; Hem et al.
1985; Manceau et al. 1997).

11.4.9 Dating

Deep-sea Mn nodules and crusts are amongst the
slowest growing minerals on Earth (Manheim
1986). They have a minimum growth rate of 0.8
mm Ma-1 (Puteanus and Halbach 1988) which is
equivalent to the formation of about one unit cell
every year. Shallow-water concretions grow about
104 times faster. Several methods have been used
to date deep-sea manganese nodules and crusts
(Ku 1977; Mangini 1988).

One of the earliest methods used to date nodules
involved K-Ar dating of the volcanic nucleus of the
nodule. This method is of limited value because
submarine weathering of the core often invalidates
the results. In addition, the method makes no
allowance for any time gap between the formation of
the nucleus and subsequent Mn accretion or for
hiatuses in growth of the Mn deposit. Only a minimum
average growth rate is therefore obtained. Although
this method was used by early workers (e.g. Barnes
and Dymond 1967), it is too crude to be of much value
now.

In addition, Moore and Clague (2004) have recently
demonstrated the progressive thickening of ferro-
manganese crusts along the Hawaiian Ridge with
increasing distance from the Hawaiian hotspot (Loihi
Seamount). From a comparision of the maximum
thicknesses of the submarine crusts along the ridge
with radiometric ages of adjacent subaerial features,
these authors estimated the growth rates of the crusts
to be about 2.5 mm Ma-1. This growth rate was then
used to deduce the ages of landslide deposits and
volcanic fields occurring away from the axis of the
ridge from the estimated ages of associated crusts.
This may be considered to be an example of indirect
dating of ferromanganese crusts.

Several attempts have been made to date Mn
nodules and crusts by paleontological methods. Initial
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studies by Harada and Nishida (1976, 1978) established
slow growth rates for the outer layers of some deep-
sea nodules (1.0-6.7 mm Ma-1) but higher rates for the
inner layers of some nodules (39 mm Ma-1) based on
biostratigraphic analysis of calcareous microfossils.
Cowen et al. (1993) subsequently determined the ages
of different layers of a Mn crust (KK84-RD50 S1B)
from Schumann Seamount in the North Pacific based
on the identification of coccolith imprints at various
depths in the crust (see section 11.4.10.1). In a detailed
study, Pulyaeva (1997) also identified three main
periods of growth of Co-rich Mn crusts from the
Magellan Seamounts in the western Pacific based on
a study of calcareous microfossils. On this basis, it
was established that the crusts began forming inter-
mittently in the Late Cretaceous in the presence of
phosphatized nannoforaminifera. The crusts attained
a composition similar to that of today in the Eocene
but the Miocene-Pliocene was shown to be the most
favourable period for growth of the crusts. Numerous
interruptions in the growth of the crusts were observed
with major regional hiatuses being recorded at the
Cretaceous-Paleocene and Eocene-Oligocene boun-
daries (see section 11.4.10.1). More recently, Shilov
(2004) has reported on a major programme of dating
manganese nodules from the C-C F.Z. based on age
determinations of radiolaria in the nodules. From this,
he was able to demonstrate that active growth of the
manganese nodule fields started between the Late
Oligocene and Early Miocene at about 23.7 Ma and
that the principal layers which make up 50-80% of the
total nodule volume in individual nodules were formed
in the Middle Eocene (16.6-11.2 Ma) and Late Miocene-
Pleistocene (11.2-1.8 Ma). He also established that the
highest growth rates of the nodules (2.5-3.7 mm Ma-1)
occurred during the Pleistocene-Holocene (1.8-0 Ma).
These ages are in agreement with the findings of
Glasby (1978) who recorded the presence of buried
manganese nodules in D.S.D.P. cores associated with
sediments of Oligocene age and older (cf. Usui and Ito
1994; Ito et al. 1998) and by von Stackelberg and
Beiersdorf (1991) who showed that most of the nodules
in the C-C F.Z. southeast of Hawaii began their growth
at Tertiary hiatuses.  These ages are much older than
the middle Miocene age (~12-15 Ma) obtained by
Kadko and Burckle (1980) for two nodules from the
C-C F.Z. based on the age of fossil diatoms in the
nodules.

Nonetheless, most modern methods of dating Mn
nodules and crusts rely on radiometric determinations.
There are three principal methods available based on
the following isotope ratios 230Th/232Th, 231Pa/230Th
and 10Be. The half lives of 230Th, 231Pa and 10Be are

75,200 a, 32,000 a and 1.5 Ma, respectively (Turekian
and Bacon 2004). The 230Th/232Th and 231Pa/230Th
methods can therefore only date samples to ages of
300,000 and 125,000 a (corresponding to 4 half lives of
the isotopes), respectively, which is equivalent to the
outer 1-2 mm of a deep-sea nodule or crust. The 10Be
method, on the other hand, permits dating back to
~10 Ma which is equivalent to a depth of a few cm in
some samples (Turekian and Bacon 2004). Hein et al.
(2000) have compiled a list of all isotopically-deter-
mined growth rates of hydrogenous Mn crusts to that
date.

The 238U and 235U decay-series methods are based
on the fact that 230Th and 231Pa are generated in
seawater by the decay of U isotopes. The isotopes are
then carried to the sea floor on particles and incor-
porated into the nodules and crusts. The residence
times for Th and Pa in seawater are short (less than 40
and 160 years respectively). The distribution of 230Th
and 231Pa with depth in nodules or crusts can be
measured by counting a particles after separation from
the nodule material and plating on a planchet or more
rapidly by α-track counting on nuclear emulsion plates.
The growth rate of the nodule or crust can then be
calculated from the formula

dC/dt = S dC/dx - λC

or C(x) = C0 exp (-xλ/S)

where C(x) is the concentration at depth x, ë is the
decay constant of the nucleus (=ln 2/τ1/2 ), τ1/2 the half
life of the nuclide and S the nodule growth rate.

The 230Th/232Th and 231Pa/230Th methods were the
first radiometric methods to be used for dating of
manganese nodules but their application was limited
because of the short half lives of 230Th and 231Pa. In
spite of the limitation of working with samples from
the uppermost 1-2 mm of the sample, high resolution
studies of nodules have been achieved using this
method. For example, Eisenhauer et al. (1992) analyzed
69 samples to a depth of 1.4 mm with a resolution of
0.02 mm in the VA 13/2 Mn crust sample (see section
11.4.10.1). The samples were analyzed by alpha
counting after chromatographic separation of thorium
from uranium and electroplating the elements on
stainless steel holders. However, the development of
the thermal-ionization mass spectrometric (TIMS)
method for determining U and Th isotopes increased
the precision of the measurements and extended the
possibilities of this method (Chabaux et al. 1995, 1997).

In particular, Böllhofer et al. (1996, 1999) used this
method to investigate the growth rates of diagenetic
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manganese nodules from the Peru Basin. These
nodules were shown to have high growth rates of
~110 mm Ma-1 but with frequent oscillations in growth
rate which were attributed to transitions in the glacial/
interglacial cycle. These climatic variations were
assumed to control the depth of the suboxic/oxic
boundary in the sediment leading to changing growth
rates and the development of distinct laminations
within the nodules. However, von Stackelberg (1997,
2000) subsequently observed that the highest growth
rates in these nodules occur on the underside of large
nodules which repeatedly sink to a level immediately
above the redox boundary where diagenetic recycling
of Mn is at a maximum. These authors therefore sug-
gested that layering of these nodules was the result
of the lifting of these nodules by benthic organisms
within the oxic surface sediments from a diagenetic to
a hydrogenous environment rather than the result of
climatic change as proposed by Böllhofer et al. (1996,
1999).

Han et al. (2003) also established that there are
four orders of basic cyclic growth patterns in a deep-
sea manganese nodule from the C-C F.Z. based on
analysis of samples taken at intervals of 0.1 mm in the
outer 1.3 mm of the nodule using the 230Thexcess/232Th
method. These growth patterns were named laminae
bonds, laminae zones, laminae groups and laminae
pairs and had thicknesses of 402-454, 185-206, 58-67
and 15-18 µm, respectively. This rhythmic growth was
considered to be related to Milankovitch cycles with
the growth cycles of the laminae, bands and zones
corresponding to the periods of eccentricity, obliquity
and precession of the Earth’s orbit, respectively. From
the thicknesses of these laminae, it was was then
possible to establish a net growth rate of the outer
layers of the nodule of 4.5 mm Ma-1 based on the
Earth’s orbital cycle in close agreement with the rate
of 4.6 mm Ma-1 determined by 230Thexcess/232Th dating
of the nodule. This is an excellent example of the high
resolution that can now be attained using 230Th/232Th
dating.

10Be dating involves a measurement of the depth
profile of 10Be in a deep-sea nodule or crust. The half
life of 10Be is 1.5 Ma which normally permits dating
back to ~10 Ma, although earlier authors dated crusts
back to ~14 Ma by analyzing larger amounts of material
for the older samples (Segl et al. 1989). 10Be is a
cosmogenic nuclide which is deposited at the sea
surface before being mixed into the oceans. Its
residence time in the ocean is about 1,000 yrs. Because
of its greater half life, 10Be can be measured to much
greater depths within the nodule or crust (> 40 mm)
than the U decay-series isotopes (1-2 mm). Post-

depositional diffusion of 10Be is not considered a
problem in determining the growth rates of the nodule
or crust (cf. Kusakabe and Ku 1984). The development
of accelerator mass spectrometry (AMS) led to a
reduction in sample sizes and counting times by
several orders of magnitude compared to measu-
rements based on radioactive decay. Much better
resolution can therefore be obtained and dating to 15
Ma is now possible. This predates the age of the lower
Miocene Antarctic glaciation. Discontinuities in the
growth rates of nodules and crusts can also be
determined from breaks in the 10Be depth profile. As
an example, Koschinsky et al. (1996) determined the
growth rates of the surface layers of two NE Atlantic
manganese crusts to be 3 and 4.5 mm Ma-1 using this
method. Mangini et al. (1990) and Usui et al. (1993)
also determined the growth rates of S.W. Pacific
nodules to be in the range 1.1-6.0 mm Ma-1.

A particularly interesting application of the 10Be
method involved the dating of entrapped manganese
nodules in an ODP sediment core taken in the Campbell
Nodule Field located at the foot of the Campbell
Plateau in the Southwestern Pacific Basin (Graham et
al. 2004). From the ages of the rims of the buried
nodules, it was concluded that bottom water circulation
was more intense, and therefore sedimentation rates
were lower, during the periods 10-5.5 Ma and 1.5-0 Ma
which facilitated the maintenance of the nodules at
the sediment surface. However, a major limitation of
the 10Be method is that it does not permit the direct
determination of the ages of the earliest sections of
Co-rich Mn crusts. 10Be dating must therefore be used
in conjunction with other methods for this purpose.

Sr isotope stratigraphy has also been developed
as a high resolution stratigraphic method for deter-
mining the growth rates of hydrogenous and hydro-
thermal Mn crusts based on a comparison of the Sr
isotope ratios of individual layers in the crust with Sr
isotope curves for seawater (Futa et al. 1988). In
principal, this method can be used to identify hiatuses
in the growth of the crusts to ages in excess of 20 Ma.
However, von der Haar et al. (1995) subsequently
demonstrated that Sr in the crusts is extracted from
both the phosphatic and detrital phases of the crust
during leaching and that the Sr in the Mn oxide phase
exchanges with seawater throughout the history of
the crust. The method therefore appears to be of little
value in dating Mn crusts.

In addition, indirect methods of dating Mn crusts
have been developed such as the one based on the
inverse relationship between the Co content of the
crusts and their rate of accumulation (Manheim and
Lane-Bostwick 1988; Puteanus and Halbach 1988).
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Based on the analysis of 520 samples of ferro-
manganese crusts from ~250 locations, it was
established that the flux of Co into ferromanganese
crusts is constant over the entire period of growth of
the crusts whereas the flux of Mn into the crusts is
variable. As a consequence, the content of Co in
crusts is inversely proportional to the rate of for-
mation of the crust. It therefore became possible to
derive an empirical equation relating the growth rate
of each layer in a crust to the Co content in that layer
by fitting data derived from the 10Be dating of 20
ferromanganese crusts. This led to the formulation
of the equation G (mm Ma-1) = 1.28/[Co(%) – 0.24]
where G is the growth rate of the layer of the crust
under consideration from which the growth rate and
therefore the age of the crust can be derived. However,
modification of this equation is required in cases
where phosphatization of the crust has occurred. The
great advantage of this method is that it requires no
further radiometric age determinations to date a crust
of unknown age. It is therefore much easier to
calculate the growth rates of manganese crusts using
this method than by the other methods. Frank et al.
(1999a) have confirmed the validity of the Co geo-
chronometer and shown that it provides detailed
information on the growth history of ferromanganese
crusts prior to 10-12 Ma where the 10Be method can
not be applied.

Growth rates of shallow-water ferromanganese
concretions from Mecklenburg Bay in the Baltic Sea
have also been determined by 210Pb dating (half life
of 210Pb is 22.3 years) and by comparison of the
distribution of the Zn concentration (on a mm scale)
in the outer layers of selected concretions with the
distribution of Zn in dated sediment cores from the
same area (Hlawatsch 1999). These data gave growth
rates for the concretions in the range 0.018 - 0.21 mm a-1

which are 4 to 5 orders of magnitude higher than for
the deep-sea manganese deposits. Liebetrau et al.
(2002) also determined the growth rates of con-
cretions from this area from the distribution of
226Raexcess/Ba ratios with depth in selected concretions
(half life of 226Ra is 1622 years) and obtained somewhat
lower growth rates in the range 0.0075 - 0.021 mm a-1.
From these data, the maximum age of these
concretions was calculated to be 4,300 ± 300 years
which is close to the period when sea level stabilized
at its present level in the Baltic about 5,500 to 4,500
years ago. By contrast, very little information is
available on the growth rates of submarine hy-
drothermal manganese crusts at present (Lalou et
al. 1983; Usui and Nishimura 1992; Usui and
Terashima 1997).

11.4.10 Mn  Crusts as Paleoceanographic
Indicators

11.4.10.1  Recording Hiatuses in Mn Crusts

Mn crusts may be considered to be condensed
stratigraphic sections that record variations in pale-
oceanographic conditions with time. High resolution
dating of Mn crusts can therefore be used to record
the occurrence of major paleoceanographic events.
A number of such studies has been undertaken (Segl
et al. 1989; McMurtry et al. 1994; Koschinsky et al.
1996; Frank et al. 1999a). In this section, the results
of two detailed studies of dating deep-sea manganese
crusts using various methods of radiometric dating
are presented. In addition, the distribution of the long-
lived radiogenic isotopes of Nd, Pb, Be, Hf and Os in
Co-rich Mn crusts has been extensively used to study
the patterns of deep ocean circulation and the provin-
ciality of these crusts over the past 10-15 years. This
topic has been excellently reviewed by Frank (2002).

One of the most thoroughly studied Mn crusts
was collected on top of an abyssal seamount at 4,830
m water depth in the equatorial N. Pacific in 1976
during cruise VA 13/2 of R.V. Valdivia (sample 237
KD) (Friedrich and Schmitz-Wiechowski 1980). It is a
large hemispherical Fe-Mn crust 500 mm in diameter
and up to 250 mm thick partly covering a basalt
substrate. It is quite different in character from the
Co-rich Mn crusts described in section 11.4.4. The
volcanic seamount on which it occurs was formed
about 65 Ma near crest of the East Pacific Rise.
Submarine weathering of glass on the surface of the
submarine basalt led to formation of an 8 mm thick
nontronite layer. The seamount migrated north across
the equatorial high productivity belt during which
time it was above the Carbonate Compensation Depth
(CCD).

The mode of formation of this crust has been
outlined by von Stackelberg et al. (1984). Below a
depth of 40 mm, the crust was characterized by higher
Fe contents which could be attributed to the
dissolution of calcareous tests resulting in an increa-
sed supply of iron to the crust. Goethite was the main
mineral formed and could be seen as yellowish-brown
flecks. Calcareous tests were also observed within
the crust. At 40 mm, there is an abrupt change in
composition of the crust with higher Mn/Fe (1.6) and
Ce/La (3.5) ratios and higher contents of Ni (0.45%)
and Cu (0.25%) above that boundary. These changes
were associated with the development of a strong
AABW at 12 Ma. From 10-0 mm, the chemical compo-

11.4 Manganese Nodules and Crusts
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sition was again similar to that below 40 mm reflecting
the weak influence of AABW at present.

10Be dating of the crust was undertaken by Segl
(1984, 1989). Figure 11.20 shows the variation in
growth rates within the crust. An age of 12-13 Ma was
determined at a depth of 36 mm in the crust. This was
taken to correspond to the build up of East Antarctic
ice sheet, the onset of high AABW velocities, increa-
sed ventilation of the deep ocean and a major erosional
event in Pacific. At 6.2-6.7 Ma at a depth of 16 mm in
the crust, there was a change of growth rate and a
visible change in crustal structure. This was taken to
correspond to a decrease in global δ13C, a lowering of
sea level, isolation and drying of Mediterranean,
shoaling of the Panama Isthmus and an increase in
bottom water circulation rates and oceanic fertility. At
3 Ma at a depth of 8 mm in the crust, there was a
visible change in crustal structure. This was taken to
correspond to closure of the Panama Isthmus and the
onset of northern hemisphere glaciation. These events
are recorded in many manganese crusts in the World
Ocean. Subsequent determination of the distribution
of Nd isotopes within this crust showed a decrease in
the εNd values from 3-5 Ma to the present (see later).
These data suggest that the closure of the Panama
Isthmus about 3-4 Ma may have played a role in redu-
cing the inflow of Atlantic-derived Nd into the Pacific
Ocean (Burton et al. 1997; Ling et al. 1997).

High resolution 230Th profiles were also obtained
by Eisenhauer et al. (1992) for this crust as part of a
detailed study of growth rates in crusts during last 300
ka. 69 samples were taken in the upper 1.4 mm of crust at
intervals of 0.02 mm. Fig. 11.21 shows the high reso-
lution growth rates for the crust. From 0 - 0.88 mm, the
growth rate was determined to be 6.6 ± 1.1 mm Ma-1,

from 0.9 - 1.28 mm 6.1 ± 1.7 mm Ma-1 and from 1.3-1.4
mm 5.8 ± 1.4 mm Ma-1. Two breaks in the growth rate
were observed. These correspond to standstills in
growth at 284-244 ka and 138-128 ka which are
equivalent to glacial stages 8 and 6. The growth rates
of the crust were seen to be higher during interglacial
(stages 1 and 5) and lower during glacial stages. These
data imply a correlation between the growth rate of
nodules and crusts and climate in the late Quaternary
as previously proposed by Mangini et al. 1990a).

Most recently, supernova debris has been identified
within the VA 13/2 crust based on a study of the
distribution of 60Fe in a well-resolved time profile within
this crust (Knie et al. 2004). 28 samples between 1-2
mm thick representing a total period of about 13 Ma
were dated by means of the 10Be method. A 60Fe anomaly
was detected at a depth corresponding to an age of
2.8 Ma (the half life of 60Fe is 1.49 Ma). The 60Fe
measured at this time horizon corresponds to an influx

Fig. 11.21 High resolution growth rates for Mn crust VA
13/2 plotted as a function of depth in the crust (a) and of
time (b) (after Eisenhauer et al. 1992). The major clima-
tic changes are marked by dotted lines. High growth rates
are mainly associated with interglacial stages (especially
during the Holocene and stage 5) whereas low growth
rates are associated with glacial stages. Periods of growth
standstills are associated with glacial stages 6 and 8.

Fig. 11.20 Profile of 10Be with depth in the Mn crust VA
13/2 from the Clarion-Clipperton F.Z. region showing the
change in a growth rate in the crust at a depth of 16 mm
(after Segl et al. 1989). Other time markers in the crust
were marked by changes in the structure of the crust.
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of about 2.9 x 106 atoms of 60Fe cm-2 to the Earth’s
surface. This amount is compatible with the 60Fe being
derived from an exploding supernova located about
10 light years from Earth. This event began at ~3.0 Ma
and lasted ~300 ka and therefore coincides with the
onset of N. Hemisphere glaciation at 2.8 Ma. The explo-
sion released as much energy as the sun will do in its
entire lifetime. The authors speculated that the inter-
stellar particles may have acted as nuclei for the
condensation of water and therefore cloud formation
in the atmosphere. This offers the possibility that the
Northern Hemisphere glaciation may have been con-
trolled by interstellar events and not by changes in
CO2 levels in atmosphere as is more commonly
assumed. A weak 244Pu signal from this explosion was
also detected in the crust (Wallner et al. 2003).

The VA 13/2 crust has also been used for pale-
oceanographic studies by a number of authors (Abou-
chami et al. 1997; Ling et al. 1997; David et al. 2001;
Frank et al. 1999b; van de Fliert et al. 2004a).

 Detailed studies have also been carried out on the
Co-rich Mn crust (KK84-RD50 S1-B), a 95 mm thick
crust, which was sampled at a depth of 2,250-2,600 m
from near the summit of Schumann Seamount, one of
the Musicians Seamounts, located 700 km north of
Kaui, Hawaii. The initial study was based on identi-
fication of coccolith imprints in the crust from which
the ages of different layers of ages of the individual
layers could be determined (Cowen et al. 1993). These
ages were not well constrained and varied from 1-4
Ma to >10 Ma. However, the minimum age for the upper
27 mm of the crust was shown to be Eocene giving an
average growth rate for the crust of about 0.5 mm Ma-1.
Extrapolating this growth rate through the entire 95
mm of the crust gave a very much older age for the
crust than was accepted for Co-rich crusts at that time.

Subsequently, McMurtry et al. (1994) carried out a
very detailed study of this crust using a variety of
techniques including 10Be profiling of the crust,
determination of 87Sr/86Sr and δ18O isotopic ratios of
included phosphatized limestone debris and vein
infillings and Co chronometry of the ferromanganese
layers. Using the 10Be method, it was possible to date
only the upper 12 mm of this crust with the lower 82
mm of the crust lying beyond the limits of this method.
However, by combining the 10Be data with results
obtained from microfossil dating (Cowen et al. 1993)
and Co chronometry, it was possible to establish that
formation of the crust began at least in the Eocene
and possibly as far back as the Cretaceous. Within the
crust, eight major disconformities were identified of
which three of the upper disconformities in the crust
were placed at the Plio-Pliocene, the Middle Miocene

and, tentatively, the Paleocene-Eocene boundaries. As
previously described, McMurtry et al. (1994) con-
sidered the boundary between the older and younger
crust layers had a minimum Oligocene age (28-33 Ma)
but was possibly of Late Paleocene age (55 Ma) but
this may reflect the fact that these boundaries cor-
respond to different episodes of phosphogenesis from
that described by Halbach and Puteanus (1984) (see
section 11.4.4).

In order to assess the validity of the 87Sr/86Sr
method of dating manganese crusts, von der Haar et
al. (1995) carried out a series of leaching experiments
on the Schumann Seamount crust in which it was
established that Sr was leached from both phosphatic
material and aluminosilicate detritus within the crust.
It was also shown that Sr within the oxides exchanges
with seawater strontium throughout the history of the
deposit. These results cast severe doubt on the vali-
dity of the Sr isotopic method for determining the ages
of these crusts (see section 11.4.9).  In addition, De
Carlo (1991) analyzed 11 samples at various depths in
the Schumann Seamount crust for REE in an attempt
to reconstruct its growth history (see section 11.4.3).
The results are somewhat surprising in that they
show a steady increase in the Ce/La ratio of the
deposit from the base of the crust (4.5 at a depth of
78-95 mm) to a maximum of 7.0 at 63-68 mm and then
a steady decline to 3.0 at a depth of 0-5 mm. It is not
easy to understand why the most oxidizing conditions
in the water column should prevail at a depth of 63-
68 mm in the crust corresponding to a Paleocene age
(McMurtry et al. 1994).

In addition, 10Be dating of seven manganese
nodules from the Southwestern Pacific Basin was
carried out by Mangini et al. (1990b). In one nodule
(143GB), extrapolation of the nodule growth rates
indicated that the nodule began forming at about 14.5
Ma. At 6 Ma, there was a major change in structure of
the nodule. Within the outer layer of the nodule, con-
centric layers filled with detritus corresponding to ages
of 3.2 and 1.3 Ma. However, there was no corresponding
change in growth rate at any of the intervals, the
growth rate remaining constant with time. This study
confirmed that these ages are important time markers
which had previously been recorded in many Pacific
pelagic sediments and manganese crusts and nodules.

The dates of the hiatuses reported above are
consistent with the ages listed by Frank (2002) for
major paleogeographic changes in the Pacific resulting
from the opening and closing gateways which are
thought to have been responsible for large-scale reor-
ganizations of global ocean circulation and are linked
to changes in global climate. In the Pacific, these include

11.4 Manganese Nodules and Crusts
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the rifting and northward drift of Australia from
Antarctica which began at about 55 Ma (and is
associated with an abrupt negative ~3 ppt global carbon
isotope excursion which has been attributed to the
dissociation of 2,000 - 6,000 Gt of methane hydrates;
Norris and Röhling 1999; Zachos et al. 2001; Dickens
2004), the development of the deep-water passage
through the Tasman Strait at about 36 Ma (Ling et al.
1997), the opening of the Drake Passage at about 23 Ma
which is thought to have initiated ocean bottom water
flow through the Samoan Passage (Lonsdale 1981), the
development of Antarctic glaciation about 14 Ma ago,
an increase in ocean bottom circulation rates at 6.2 Ma
and closing of the Panama Isthmus about 3.5 Ma ago
(see also Segl et al. 1989; Xu 1997). Of these, the most
important for the formation of oceanic manganese
nodules and crusts was the Middle Miocene climate
transition which occurred between 14.3 and 13.8 Ma
(Shevenell et al. 2004). This event resulted in a cooling
of the surface waters in the southwest Pacific by 6 - 7°C
at ~55°S and was responsible for the development of
the modern pattern of deep ocean bottom water flow. In
addition, there was a general cooling of the global climate
since the Eocene climate maximum at about 50 Ma,
although this general trend has been punctuated by a
series of steps (Zachos et al. 2001). The observations
presented above show that Co-rich manganese crusts
record these changes in ocean circulation, although
perhaps not with the precision that one might hope for.

It is well known that deep circulation of the oceans
is much more pronounced during periods of „ice house
Earth“ (characterized by Polar ice sheets and a well-

developed cryosphere) than during periods of „green-
house Earth“ (when the cryosphere is absent). The
„ice house Earth“ is generally taken to include the
Oligocene, Late Miocene, Pliocene and Pleistocene
and the „greenhouse Earth“ the Cretaceous, Paleocene
and the Eocene (Jenkyns and Wilson 1999; Zachos et
al. 2001). Ventilation, and therefore the degree of
oxygenation, of the deep ocean, is controlled by the
density difference between surface seawater and deep
ocean bottom water which induces deep circulation of
the oceans and is much more pronounced during
periods of „ice house Earth“ than during periods of
the „greenhouse Earth“. This trend is illustrated by
the dominance of deep-sea manganese nodules in
D.S.D.P. cores since the Eocene (Glasby 1978).

Kaiko (1998) has confirmed this trend by demon-
strating that the low oxygen events in the oceans
during the past 120 Ma have coincided with warm
episodes in the oceans based on his benthic
foraminiferal dissolved-oxygen index. Pulyaeva (1997)
has also shown that the average Co content of Co-
rich crusts from the Magellan Seamounts has
increased steadily from 0.16% in the Late Cretaceous
to 0.57% in the Eocene and 0.72% in the Miocene-
Pleistocene whereas P2O5 showed the opposite trend
declining from 13.5% to 1.3% during this period (von
Stackelberg et al. 1984; De Carlo 1991; Frank et al.
1999b; see section 11.4.9). This trend reflects the
increased ventilation of the oceans through time and,
in particular, the development of a more pronounced
oxygen minimum zone in the ocean following the
Middle Miocene climate transition.

Fig. 11.22 Schematic representation of deep-water flow in the world ocean based on characteristic changes in the
isotopic composition of Nd, Pb and Be in ferromanganese crusts with location. The isotopic data are taken from
Albarède and Goldstein (1992) and von Blanckenburg (1996a,b) (after Hein et al.  2000, Fig. 9.10).



407

11.4.10.2  Application of Isotopic Studies of
 Co-rich Mn Crusts to the Study of
 Present-day Deep-ocean Circulation

The release of trace metals with different isotopic ratios
from the Earth’s crust by weathering or hydrothermal
activity is the basis for the observed variability of
isotopic composition of these metals in the oceans
(Frank 2002). Albarède and Goldstein (1992) pioneered
the application of isotopic studies of ferromanganese
deposits to the study of present-day deep-ocean
circulation by mapping the Nd isotopic composition of
270 samples of ferromanganese crusts and nodules from
the world ocean. The results showed a marked similarity
between regional Nd isotopic variations of the crusts
and nodules and the broad pattern of present-day deep-
ocean circulation. This was somewhat surprising in view
of the short residence time of Nd in seawater (~10 - 103

years) compared with the much longer time scale of
ferromanganese formation which is measured in millions
of years but reflects the stability of deep-sea circulation
since the Pliocene integrated over time. Subsequently,
von Blanckenburg et al. (1996a) measured Pb isotope
ratios (206Pb/204Pb and 208Pb/204Pb) in ferromanganese
crusts from the world ocean and showed that these
isotopic ratios are remarkably uniform in the Pacific
reflecting the fact that Pb is extremely well mixed as a
result of its short residence time in ocean bottom waters
(80-100 years).

The Pb isotope ratios also indicated that Pb is more
juvenile in the Pacific than in the Atlantic Ocean. From
this, it was deduced that the Pb in the Pacific Ocean is
derived principally from the subduction of MORB and
pelagic sediment at volcanic arcs and from continental
margin volcanics whereas in the Atlantic Ocean it is
derived principally from riverine particulate matter. Von
Blanckenburg et al. (1996b) also measured beryllium
isotope ratios (10Be/9Be) in ferromanganese crusts from
the world ocean and showed that the 10Be/9Be ratios in
the crusts are in close agreement with seawater values
from the same area and that the 10Be/9Be ratios of the
crusts decrease along the path of ocean bottom water
flow and correlate with the ∆14C age of the deep-ocean
bottom water flow. The residence time of Be in the Pacific
away from the margins was estimated to be 600 ± 100
years.

These observations enabled Hein et al. (2000) to
prepare a schematic map of deep-ocean flow in the world
ocean showing the characteristic changes in the Nd,
Pb and Be isotopic composition of the ferromanganese
crusts along the bottom water flow path (Fig. 11.22).
Particular interest in this figure lies in comparing this
schematic flow path with the actual flow path of Pacific
deep water based on measurements of the ∆14C age of
the deep bottom waters as presented by Schlosser et al.
(2001, Plate 5.8.17; Fig. 11.23). These data confirm that
the ocean bottom water flow in the Pacific is counter-
clockwise with the oldest waters being found in the

Fig. 11.23 Schematic repre-
sentation of the distribution of
δ14C in Circum Polar Deep Water
at depths >3,500 m. The tongue
of high δ14C shows the present-
day path of circum-polar water
entering the Pacific. The water
flows northwards along the
western Pacific island arc system
and then clockwise north of the
equator. The oldest water is
found in the NE sector of the
Pacific (after Schlosser et al.
2001, plate 5.8.17).

11.4 Manganese Nodules and Crusts
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northeast Pacific. However, these figures give no indi-
cation as to whether these bottom waters are transpor-
ted eastwards into the equatorial North Pacific. This
is important because it determines whether manganese
nodules from the C-C F.Z. were formed under the
influence of the AABW (see section 11.4.3).

It is generally accepted that the Pacific Ocean bot-
tom waters originate from the northward flow of the
Circumpolar Deep Water (CDW) which flows east of
the Campbell Plateau and Tonga-Kermadec Ridge and
then onwards to the Samoan Passage (Reid and
Lonsdale 1974; Taft et al. 1991; Schmitz 1995; Hogg
2001; Schlosser et al. 2001). Although the use of the
term CDW to describe the bottom water flow in the
western Pacific is correct (Clarke et al., 2001), most of
the older literature cited in this chapter refers to this
flow as AABW. Based on geostrophic calculations
from the results of WOCE Leg 31 in 1994, it was
estimated that the northward transport of bottom
waters through the Samoan Passage at depths greater
than 4,000 m is 7.8 Sv of which 4.8 Sv has a potential
temperature below 0.8°C making it the coldest abyssal
water in the South Pacific (Roemmich et al. 1996;
Rudnick 1997). Previous studies had indicated that

~3 Sv of AABW flow northwards out of the Samoan
Passage and that this water mass then bifurcates at a
latitude of about 7° 50’S with the minor branch turning
to the northeast (Edmond et al. 1971; Macdonald and
Hollister 1973). This branch was then thought to flow
southeastwards along the western side of the Line
Islands Ridge before turning east and crossing the
ridge at the Horizon and Clarion Passages (Gordon
and Gerard 1970; Edmond et al. 1971; Johnson 1972).
However, it should be emphasized that the flow paths
of the ocean bottom currents in their approach to these
two passages are not well constrained.

Edmond et al. (1971) estimated that the flow of water
through the Horizon Passage was approximately 0.4 Sv
and presumed that only a minor part of this flow passes
through the Clarion Passage and into the C-C F.Z.
However, Mantyla (1975) subsequently noted that the
Clarion Passage is deeper and wider than the Horizon
Passage and estimated the potential temperature of
the bottom waters in the Clarion Passage to be 0.87°C
confirming the flow of bottom water through the
Clarion Passage. However, the magnitude of this flow
is unknown and it is clear that the Line Islands Ridge
constitutes a formidable barrier to the flow of deep

Fig. 11.24 Schematic map showing the inferred paths of oceanic bottom currents in the western Pacific (after
Lonsdale 1981). Base map taken from the GEBCO bathymetric map of the Pacific Ocean.
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water into the C-C F.Z. Fig. 11.24 illustrates the principal
pathways of oceanic bottom water flow mentioned
above.

In an early study of oceanic bottom water flow
within the C-C F.Z., Johnson (1972) deployed free-fall
bottom current meters in an area north of the Clipperton
Fracture Zone where substantial sediment erosion was
known to occur. The limited data showed that the
bottom currents were generally slow (<10 cm sec-1)
but fluctuated markedly due to a strong semi-diurnal
tidal component. It was also established that the
currents flowed mainly to the east with minor vari-
ations due to topographic effects. In addition, data
from a 14-day record of bottom current measurements
taken at 210 m above the sea floor revealed an averge
bottom water flow of 2.0 cm sec-1 in an ENE direction
with peak velocities of up to 16.5 cm sec-1at semidiurnal
periods. These data showed that peak velocities of
bottom water transport were strong enough to erode
and transport sediment in the area (Amos et al. 1977).

More detailed studies in the C-C F.Z. were carried
out during the period 1986 to 1989 in which a grid of
bottom-moored instruments was deployed (Kontar
and Sokov 1994). In general, the bottom currents
were shown to be weak with velocities not greater
than 4 cm sec-1. However, a benthic storm lasting 10 days
was recorded during these observations in which bottom
currents with average velocities of 10 -15 cm sec-1 were
measured. It was thought that these storms were rela-
ted to periods when the sea surface was elevated by
more than 4 cm above the norm which would lead to
the excess kinetic energy at the sea surface being
transmitted to the seafloor at depths > 3,000 m (Kontar
and Sokov 1994). Other measurements of oceanic
bottom water flow in the DOMES areas of the C-C F.Z.
have been reported by Hayes (1979, 1998).

Within the Samoan Passage, the most rapid drift
deposition occurred in the Late Oligocene-Early
Miocene and in the Late Miocene-Early Pliocene
(Lonsdale 1981). Both these periods were characterized
by intensified bottom circulation These times corres-
pond roughly with periods of enhanced sediment
erosion in the C-C F.Z. (van Andel et al. 1975) in accor-
dance with the ages of the nodules in the C-C F.Z. as
reported by Shilov (2004) (see section 11.4.9).

Mangini et al. (1982) also established that there
had been a marked increase in deep circulation in the
Pacific at ~70 ka corresponding to the end of interglacial
cycle stage 5 based on 230Th and 231Pa dating in 9 out
of 13 sediment cores from the C-C F.Z. and in all 4
cores from the Aitutaki Passage. These results
supported the idea that the onset of glacial events
increased ocean bottom water flow in the C-C F.Z.,

although this effect may have been masked by
bioturbation in the sediment cores in some cases.

In a detailed study of the DOMES Site A in the
C-C F.Z., Piper and Blueford (1982) described an
apparently anomalous situation in which small, poly-
nucleate nodules with smooth surface texture and
δMnO2 as the principal manganese oxide phase formed
in Quaternary sediments with variable thickness >40
cm located on the side of an W-E-trending valley
whereas large nodules with granular surface texture
and todorokite as the principal manganese oxide phase
formed on Tertiary sediments at sites of active erosion
on the sea floor. This is contrary to the normal trend
where the diagenetic influence on nodules growth is
more pronounced in those areas with higher sedi-
mentation rates (see section 11.4.2). However, this area
is unusual in that the topographic fabric lies W-E. It
was therefore thought that the AABW would be
channelled through the valley creating an erosional
area on its southern flanks. In other areas of the C-C
F.Z., however, the alignment of the topographic fabric
may lie normal to the flow path of the AABW.

The data presented above paint a picture of rela-
tively weak bottom currents in the C-C F.Z. resulting
from the limited inflow of bottom water through the
Clarion Passage. However, physical oceanographic
data suggest that there are at least three components
to the bottom currents, namely AABW flow, tidal
effects and benthic storms. At present, it is not possible
to quantify the relative importance of these compo-
nents, although it is believed that the intensity of
bottom water flow has fluctuated through time, for
example during glaciations. Nonetheless, there is
indirect evidence that the C-C F.Z. has been a dynamic
and fluctating environment during the entire period of
formation of deep-sea manganese nodules. Of parti-
cular interest is the observation of Knoop et al. (1998)
that the relative influence of oxic diagenesis declines
and that of suboxic diagenesis increases along the
flow path of the AABW through the C-C F.Z. This
may explain the trend of decreasing Ce/La ratios of
deep-sea manganese nodules along the flow path of
the AABW in the equatorial North Pacific as noted in
section 11.4.3. Skornyakova and Murdmaa (1992) have
also suggested that benthic storms play a key role in
the formation of diagenetic nodules in the C-C F.Z.
because they resuspend the active surface layers of
the radiolarian ooze resulting in the burial of the
nodules under a thin layer of semi-fluid sediment. This
then acts as a source of transition elements such as
Mn, Ni, Cu and Zn to the nodules and leads to the
development of the rhythmic structure characteristic
of these nodules. By contrast, hydrogenous nodules

11.4 Manganese Nodules and Crusts
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in the area form under the influence of strong, stable
bottom currents which ensure long-term contact of
the nodule surface with seawater.

In the Peru Basin, two main flow paths into the
basin have been recognized, both northwards from
the South East Pacific Basin into the Chile Basin and
thence into the Peru Basin (Lonsdale 1976). Inflow of
oceanic bottom water into the Peru Basin from the
northwest across the East Pacific Rise is blocked by
the Galapagos Rise.

11.4.10.3  Application of Isotopic Studies of
 Co-rich Mn Crusts to the Study of
 Paleocean Circulation

The application of isotopic studies has also led to
considerable advances in understanding the pale-
oceanographic conditions of formation of ferroman-
ganese deposits in the Pacific Ocean and elsewhere
(Frank 2002). Detailed studies on the isotopic compo-
sition of various elements have been carried out on a
number of ferromanganese crusts throughout the
Pacific. These include studies on Nd (Abouchami et
al. 1997; Ling et al. 1997; O’Nions et al. 1998; Frank et
al. 1999a,b; van de Fliert et al. 2004a,b,c), Pb
(Abouchami et al. 1997; Christensen et al. 1997; Ling
et al. 1997; O’Nions et al. 1998; Frank et al. 1999a,b;
van de Fliert et al. 2003, 2004a,b,c), Hf (David et al.
1999; van de Fliert et al. 2004a,b,c), Os (Burton et al.
1999), Th (Rehkämper et al. 2004) and Fe (Beard et al.
2003; Lavasseur et al. 2004). Frank (2002) has plotted
the time slice data for the Nd and Pb isotope
distributions in the world ocean at 8 Ma, 6 Ma, 5 Ma,
1.5 Ma and the Present in which only five samples
are shown for the entire Pacific Ocean reflecting the
extremely sparse database on which to draw any
conclusions.

As an example, we may consider the application
of Nd isotopes of ferromanganese crusts to the study
of paleoceanographic conditions in the Pacific. Nd is
removed from the ocean water column by particle
scavenging and has a global ocean residence time in
deep waters of 600-2,000 years (Frank 2002). Its
isotopic distribution in seawater is characteristic of
individual water masses and is related to the
weathering of Nd from different types continental
crust with different ages. In the Pacific, the island arc
rocks surrounding the ocean are composed of young
mantle-derived material with high (radiogenic) εNd

values of up to + 20. The isotopic ratios are expressed
as εNd values because of the very small variations in
the 143Nd/144Nd ratios in seawater which are mostly
in the fourth or fifth decimal place (Frank 2002).

Ling et al. (1997) analyzed the Nd isotopic compo-
sition of three ferromanganese crusts taken from diffe-
rent water depths (4,800, 2,300 and 1,800 m) in the central
Pacific. The εNd pattern of the deepest crust over the
past 20 Ma was shown to be similar to that of the two
shallower crusts but about 1.0-1.5 units more negative.
This was taken to indicate the long-term stratification
of the Pacific over this period. O’Nions et al. (1998)
subsequently confirmed the provinciality of Pacific
Ocean water relative to Atlantic and Indian Ocean
water based on an analysis of εNd values of crusts
from the Indian and Atlantic Oceans over this period.
Ling et al. (1997) also demonstrated a steady increase
in the εNd values of these crusts from 10 to 3 Ma
followed by a decrease to the present. This was
interpreted to be the result of the progressively restric-
ted access of Atlantic Ocean water to the Pacific via
the Panama gateway which finally closed at 5-3 Ma
leading to intensification of NADW (North Atlantic
Deep Water) and greater production of AABW in the
Pacific (Burton et al. 1997). However, this conclusion
was disputed by Frank et al. (1999b) who argued that
the contribution of Atlantic waters through the
Panama gateway in the 3-4 Ma prior to its closure would
have been very small. Instead, these authors proposed
that this decrease in εNd values during the last 3-4 Ma
was related to an increased input of aeolian material
into the Pacific (Frank 2002).

Van de Fliert et al. (2004b) also used Nd and Pb
isotopic profiles in two carefully chosen ferroman-
ganese crusts from the Lord Howe Rise in the S.W.
Pacific and the Nova Trough in the equatorial Pacific
to identify the relative influence of the equatorial Pacific
and southwest Pacific bottom waters on the isotopic
compositions of the crusts. The results were then used
as a time series to reconstruct Cenozoic circulation
patterns for the region. From this, it was possible to
establish the influence of the progressive build up of
Antarctic Circumpolar Current (ACC) from 38 Ma to
21/17 Ma as a result of the opening of the Tasmanian
gateway and the Drake Passage and the development
of the East Antarctic Ice Sheet from 17 Ma onwards. A
major change in the Nd isotopic composition in the
Lord Howe Rise crust from ~10 Ma onwards was also
observed which was thought to reflect the increasing
influence of equatorial Pacific deep water and was
attributed to the closure of the Indonesian Seaway
and reorganization of oceanic circulation in the S.W.
Pacific. Abouchami et al. (1997) also showed that the
Nd isotopic composition of the crusts has been more
or less constant during the last glacial stages.

The above observations demonstrate not only the
importance of isotopic studies on marine ferromanga-
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nese crusts in evaluating paleoceanographic condi-
tions in the world ocean but also the relative paucity
of data, especially in the Pacific Ocean.

11.4.11 Economic Prospects

In 1965, J.L. Mero proposed that manganese nodules
could serve as an economic resource for Ni, Cu and
Co. In his book, he painted a picture of an essentially
limitless resource of over one trillion tonnes of manga-
nese nodules on the Pacific deep-sea floor which were
growing at a rate faster than could possibly be exploited
(Mero 1965). Although he grossly overestimated the
economic potential of the nodules, his work was
hugely influential and set in train a number of major
national programs to explore the resource potential of
manganese nodules. In 1972-1982, the U.S.
International Decade of Ocean Exploration (IDOE)
program was initiated to facilitate scientific research
on deep-sea Mn nodules in the equatorial North Pacific
as it was then known. Strong German, French and
Soviet programmes were also undertaken to evaluate
nodules as an economic resource. The period 1972-
1982 became the „Golden Age“ for manganese nodule
research. During this period, there were 30-40 U.S.
cruises, 26 German cruises and 42 French cruises to
study nodules focussed mainly on this region. In
addition, seven consortia were formed to investigate

the possible commercial exploitation of the nodules.
Mero (1977) subsequently estimated that the North
Pacific high-grade area covering an area of about 6
million km2 contained about 11,000 Mt of Mn, 115 Mt
of Co, 650 Mt of Ni and 520 Mt of Cu. He also claimed
that „within the next five to ten years, assuming no
political and/or legal interference, the nodules should
be in full-scale economic production as a valuable
source of important industrial metals.“ More recently,
Morgan (2000) has estimated that there are 34,000
Mt of nodules located in an area of 9 million km2 in
the C-C F.Z. and that these nodules contain approx-
imately 7,500 Mt of Mn, 78 Mt of Co, 340 Mt of Ni and
265 Mt of Cu.

Several factors combined to end this optimism
(Glasby 2000, 2002). For example, a major factor in this
belief was the assumption of world metal prices would
continue to rise in real terms based on the prediction
of global mineral shortages by the Club of Rome.
However, although world metal prices did indeed rise
from about 1965 to about 1976, the long-term trend for
Ni and Cu from then on was downwards (Fig. 11.25).
In addition, the economic feasibility of deep-sea
mining based on the assumption of very high capital
investment and an enormous throughput of nodules
(Medford 1969) never materialized. Indeed, the
practicality of such an operation based on the
deployment of a single mining ship at a given mine

Fig. 11.25 Variation in the prices of Co, Ni and Cu in the United States from 1959-1998 expressed in constant
1992 dollars per kg (after Plunkert and Jones 1999). The prices of Co, Ni and Cu in 1999 in current dollar prices
were Co $US 21, Ni $US 2 and Cu $US 0.75. Co is therefore easily the most valuable metal in deep-sea nodules and
Co-rich crusts after Pt.

11.4 Manganese Nodules and Crusts
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site was questioned by Glasby (1983). The feasibility
of developing a reliable mining system was also cast
into doubt when the testing of deep-sea nodule mining
at the pilot-plant stage in 1978 ended abruptly with
the loss of the entire mining system over the stern of
the ship after about 800 t of nodules had been
recovered from the seafloor. False expectations were
also raised by the development of a deep-sea mining
system by the Lockhead/OMCO consortium using the
Hughes Glomar Explorer as the mother ship. The
system developed was considered to be one of the
greatest innovations in ship design and deep-sea
technology in the twentieth century. Only later was it
revealed that the Hughes Glomar Explorer had been
built specifically to recover the K-129, a sunken Soviet
nuclear submarine, and that the building of this ship
had been funded entirely by the CIA at a cost of about
$500 million in current dollars.

Nonetheless, the key problem was undoubtedly
the provisions of the Third United Nations Convention
on the Law of the Sea (UNCLOS III) which lasted from
1973 until 1982 and was the largest ever forum for
international diplomacy (Anon 1982). These provi-
sions were considered so onerous that several coun-
tries with an interest in deep-sea mining (including
the U.S.A., U.K. and Germany) refused to sign the
initial Law of the Sea Treaty in 1982. One provision
that the United States, in particular, found unacceptable
was the requirement to transfer technology to the
Enterpise (representing Third World countries). None-
theless, these countries eventually signed the conven-
tion in 1994 after a new agreement on deep-seabed
mining was reached. This led to the International
Seabed Authority (ISA) being set up in Kingston,
Jamaica, to mangage the mineral resources of the
International Seabed Area (http//:www.isa.org.jm).
However, it was the marked drop in the price of Ni and
Cu from 1979 to 1982 (Fig. 11.25) which essentially
ended all commercial and almost all scientific interest
in deep-sea manganese nodules in these countries in
1982.

Concurrently, there was a marked surge in the world
price of Co in 1979 and 1980 (Fig. 11.25) following the
invasion of the Shaba Province of Zaire by insurgents
in 1978 (Manheim 1986). Cobalt is essential for the
production of the superalloys used in jet aircraft
engines. As a result, President Reagan created a
strategic materials task force in 1980 to evaluate the
availability of strategic minerals such as Co, Mn and
the Pt metals. This stimulated interest in marine
resources of cobalt, manganese and platinum.
Although the cost of mining these deposits was
considered to be too high to be practical, it was thought

that an increase in demand (and therefore in price) for
these minerals or technological innovations which would
reduce the cost of mining could make these deposits an
economically viable source of these minerals. In 1983,
President Reagan proclaimed a 200 n.m. Exclusive
Economic Zone (EEZ) around the United States and
the US-controlled islands in the Pacific and Caribbean.
This paved the way for research on Co-rich manganese
crusts around Johnson Island and the Hawaian Archi-
pelago in the U.S. EEZ as well as within the EEZ’s of
the Federated States of Micronesia, Marshall Islands,
Kiribati and from international waters in the Mid-Pacific
Mountains. Hein (2004) has listed 36 cruises dedicated
to the study of Co-rich crusts in the Pacific between
1981 and 1999 undertaken by groups from the USA,
Japan, Korea, Germany, Russia, Australia, France and
New Zealand. Since then, China has become a major
player in Co-rich crust investigations. One of the
advantages of mining Co-rich Mn crusts compared to
deep-sea manganese nodules is that they mostly lie
within the EEZ’s of island nations and therefore
outside the juridiction of the ISA. Mining rights could
therefore be negotiated with the host government.
However, the price of Co in 1998 was less than 30% of
its peak value in 1979 in real terms (Fig. 11.25) and
there is no serious talk of mining these deposits yet.

Following the adoption of the Law of the Sea
Treaty in 1982, a new phase was initiated to assess
the commercial potential of manganese nodules and a
number of countries registered claims to deep-sea
mining areas as „pioneer investors“ through the United
Nations on the basis of UNCLOS. These countries
committed themselves to long-term programmes to
establish the viability of nodule mining including
nodule surveys, the development of mining systems,
nodule processing and environmental surveys. So far,
the following countries have registered, France,
Russia, India and Japan (1987), People’s Republic of
China (1991), InterOceanMetal (1992) and Republic of
Korea (1994). Fig 11.26 shows the locations of the mine
site areas allocated to each of these countries within
the C-C F.Z. India has registered its claim to an area
within the Central Indian Ocean Basin (CIOB) south
of India (Juahari and Pattan 2000; Mukhopadhyay et
al. 2002). However, the commercial viability of nodules
mining is by no means assured and no consortium is
building a nodule mining system at present. This
reflects the fact that world metal prices are too low for
nodule mining to be profitable. As can be seen in Fig.
11.25, the price of both Ni and Cu in 1998 was less
than 40% of their peak values in the 1970s in real terms.
It would therefore appear that those countries still
interested in the possibility of exploiting nodules are
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looking for a strategic source of metals rather than a
resource that is economically cost competitive.

For deep-sea nodules, only those nodules with
Cu+Ni+Co >2.5% and abundance >10 kg m-2 can be
considered to be a potential economic resource. This
represents only a small percentage of total quantity of
nodules worldwide (i.e. diagenetic nodules from the
C-C F.Z. and Central Indian Ocean Basin). To be
economic, a 20 year-mine-site would be required to
produce 3 Mt of nodules per year. This would cover
an area >6,000 km2. According to Lenoble (2004), the
estimated total number of potential mine sites varies
from 8 to 225 corresponding to a total of between 480-
13,500 Mt of nodules. However, if the capacity of world
metal markets to absorb production from the deep sea
is taken into account, a more realistic assessment was
taken to be 3-10 mine sites with a total tonnage of 100-
600 Mt over this period. This reflects the marked
differences in the ratios of the amounts of metals in
nodules (Ni 7: Cu 6: Co 1) compared to the ratios of
their consumption (Ni 27: Cu 267: Co 1) (Bernhard and
Blissenbach 1988). As a result, if large tonnages of
nodules were to be mined for Ni and Cu, it would lead
to overproduction of Co with an associated drop in its
world price. The markets would therefore have to be
manipulated to avoid such disruptions. Based on an
annual worldwide production rate of Ni of 0.9 Mt in

1998; Morgan (2000) considered Ni to be the primary
metal of commercial interest in deep-sea nodules. Because
deep-sea nodules occur at great depths in the oceans
(greater than 4,000 m), they require sophisticated capital-
intensive technology to mine and are in direct compe-
tition with land-based mineral resources. A decision to
mine them must therefore ultimately be based on economic
rather than technological considerations.

For Co-rich manganese crusts, the crusts should
contain >0.8% Co and be >40 mm thick to be
considered economically viable. The crusts occur in
shallower water depths (1,000-2,500 m) than deep-sea
nodules (>4,000 m) and could be mined within national
Exclusive Economic Zones (EEZs) and therefore under
national jurisdiction. Excellent accounts of the
distribution and composition of Co-rich crusts in the
world ocean have been presented by Andreev and
Gramberg (1998) and Hein (2000) and several authors
have attempted to assess of their economic potential
(Wiltshire et al. 1999; Hein 2000, 2004; Wiltshire 2000).
Andreev and Gramberg (2002) have estimated the total
abundance of Co-rich crusts in the world ocean to be
about 21·109 t.

The types of mining systems likely to be used for
the recovery of deep-sea nodules and Co-rich Mn
crusts are not well known. For nodules, Lenoble (2004)
has described a system to mine the French area. This

Fig. 11.26 Schematic map showing the distribution of the allocated sectors of registered pioneer investors and
applicants for pioneer investor status in the C-C F.Z. Most of the consortia interested in deep-sea mining have
already made extensive studies of their future ‘mine sites’ in the C-C F.Z. The economic potential of this region is
reflected in the large proportion of the area already under claim. Areas not subject to claims are often
topographically unsuitable (too mountainous). The map is an updated version of the original version appearing in
Kotlinski (1995).
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involves the deployment of a self-propelled dredge
which crawls along the bottom, collects the nodules,
crushes them and introduces them to a 600 m long
flexible hose connected to a rigid pipe. The crushed
nodules are then lifted to a semi-submersible surface
platform in a 4,800 m rigid steel pipe by airlift or pumps.
They are then transferred from the platform to the ore
carrier through a flexible hose as thick slurry. The
recovery rate using this method would be of the order
of 1.5 Mt of nodules on a dry-weight basis per year.

Mining systems for the recovery of Co-rich Mn
crusts have been described by Hein (2004). According
to this author, mining crusts is technically much more
difficult than mining nodules because the crusts are
attached to a substrate and occur in undulating
terrain. It is therefore necessary to separate the crust
from the underlying substrate at the seafloor. One
proposed mining system consists of a bottom crawling
vehicle attached to the surface mining vessel by a
hydraulic pipe lift system. The mining machine
provides its own propulsion and travels at a speed of
about 20 cm sec-1. The miner has articulated cutters
that would fragment the crusts and reduce the amount
of substrate material collected. This system could
possibly mine 1 Mt of crust with a 25% dilution by
substrate on a dry-weight basis per year. Fig. 11.27
shows a possible design of a vehicle for mining Co-
rich Mn crusts.

Both Hein (2004) and Lenoble (2004) have
considered the profitability of mining deep-sea
nodules and Co-rich Mn crusts in some detail and
concluded that mining of these deposits is not
commercially viable at current world metal prices.
Mining these deposits therefore remains a matter for
the future.

11.4.12 Future Prospects

The geochemistry of manganese in the marine
environment is defined by the following charac-
teristics: its relatively high abundance in the earth’s
crust, its availability in two valency states whose
stability boundary lies within the range of the natural
environment and the high adsorption capacity of its
oxides for cationic species, especially Ni2+, Co3+ and
Cu2+. As such, manganese naturally migrates to zones
with the highest redox potential within the marine
environment. The modern, well-oxygenated deep-sea
is therefore the ultimate repository for manganese.

Manganese can also fractionate from iron and other
transition metals to form shallow-marine ferroman-
ganese concretions and submarine hydrothermal
crusts under conditions in which iron and the associ-
ated transition metals are trapped as sulphides prior
to the deposition of the manganese oxide minerals.
Mn can also form deposits enriched in elements such
as Co, Ni, Cu and Zn under conditions in which these
elements can be adsorbed from seawater and sediment
pore water onto the surfaces of manganese oxide
minerals. The most favourable conditions for this to
occur require extremely low growth rates of the manga-
nese oxide minerals. These are usually to be found in
low sedimentation regimes in the deep sea as with
deep-sea manganese nodules or associated with the
oxygen-minimum zone at mid-depths in the open ocean
as with Co-rich manganese crusts. These factors are
responsible for the formation of potential economic
deposits of manganese in the deep oceans, namely
deep-sea manganese nodules and Co-rich manganese
crusts.

Fig. 11.27 Sketch of a proposed vehicle for mining Co-rich Mn crusts (after Hein et al.  2004, Fig. 9).
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11.5 Problems

In addition, the rate of formation of marine
manganese deposits in the deep ocean is extremely
slow. The formation of these deposits therefore
takes place over long periods of time. Deposition of
manganese oxides in the deep oceans is also a
function of the degree of oxygenation of the oceans.
This in turn is controlled by the ventilation of the
deep ocean which varies according to the climate.
Deep-sea manganese nodules and Co-rich Mn crusts
therefore record variations in the degree of oxy-
genation and pattern of circulation of the deep
ocean. Mn crusts can therefore be considered to be
condensed stratigraphic sections which can be used
to elucidate variations in paleoceanographic con-
ditions on timescales from Milankovitch cycles to
geological era on the basis of their isotopic ratios.
As a result, both deep-sea manganese nodules and
Co-rich manganese crusts may be thought of as
archives of paleoenvironmental data and therefore
important targets for paleoceanographic studies.
Because of their much longer period of formation,
Co-rich manganese crusts are more useful than deep-
sea manganese nodules in this respect.

Although the boom period of research into deep-
sea Mn nodules and Co-rich Mn crusts associated
with the drive to establish these deposits as an econo-
mic resource in the 1970s and 1980s is over, there remain
many interesting topics which have been neglected
over the last two decades. These include the study of
shallow-marine concretions, lake concretions, hydro-
thermal Mn crusts and fossil manganese deposits. Each
of these deposits has its own characteristic modes of
formation. In addition, much of the work on deep-sea
manganese nodules has focussed on areas of potential
economic interest. There remains considerable scope
for studying nodules from a much wider range of
settings than has previously been attempted, especi-
ally for investigating their internal characteristics in
much greater detail using modern instrumental
techniques.

The economic potential of marine manganese
deposits and the potential of these deposits as paleo-
environmental indicators are directly related to the
chemistry of manganese, its associated transition
metals and other key elements adsorbed on to the
surface of these deposits. It is this complex interplay
of these factors which makes the study of marine
manganese deposits so intriguing. Unfortunately,
research on deep-sea manganese nodules and crusts
has been held hostage to the economic potential of
these deposits. Time will tell if these deposits are to
become a major source of metals for the world as was
once thought.

11.5   Problems

Problem 1

Figure 11.28 is a simplified EH-pH diagram for
Mn at 25°C, 1 atmosphere pressure and in pure water
for a limited number of aqueous species and solid
phases of Mn taken from Garrels and Christ (1965
Fig 7.28a). The boundaries between the dissolved
species and solid phases are taken to be at a total
activity of the dissolved species of 10-6 and 10-2.
The total dissolved carbonate species is taken to
be 10-1.4.

In your opinion, what are the advantages of
plotting an EH, pH diagram of Mn of the type shown
in Fig. 11.2 compared with this older type of Eh, pH
diagram pioneered by Garrels and Christ (1965)? How
do you account for the fact that solid manganese
oxide minerals do not appear to be thermodyna-
mically stable under seawater conditions in the
diagram of Glasby and Schulz (1999; Fig. 11.2).

Figs 11.28 Simplified EH-pH diagram for Mn at 25°C,
1 atmosphere pressure and in pure water for a limited
number of aqueous species and solid phases of Mn
(after Garrels and Christ 1965 Fig 7.28a).
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Problem 2

Figure 11.29 is a simplified EH-pH diagram for Fe at
25°C and 1 atmosphere pressure showing the relations
between the aqueous Fe species and metastable iron
hydroxides and siderite. The boundaries between the
dissolved species and solid phases are taken to be at
a total activity of the dissolved species of 10-6. The
total dissolved carbonate species is taken to be 10-2

(Garrels and Christ 1965 Fig 7.14).
In your opinion, what are the advantages of

plotting an EH, pH diagram of the type shown in Fig.
11.4 compared with this older type of EH, pH diagram
pioneered by Garrels and Christ (1965)? What are the
limitations of Fig. 11.4 in deducing the form of Fe in
deep-sea manganese nodule?

Problem 3

Estimate the flux of Mn2+ from marine sediments
from Loch Etive, Scotland. Some marine sediments,
particularly in hypoxic fjord environments and in some
hemipelagic environments, contain elevated concen-
trations of manganese. The sediments receive this

Figs 11.29 Simplified EH-pH diagram for Fe at 25°C,
1 atmosphere pressure and in pure water for a limited
number of aqueous species and solid phases of Fe
(after Garrels and Christ 1965 Fig 7.14).

manganese in the form of solid MnO2 through the water
column. In return, they release some Mn2+ in solution
back to the water column. The extent of this exchange
needs to be measured in order to determine the impor-
tance of Mn in oxidation-reduction processes in the
sediment quantitatively. The flux of Mn2+ within the
sediment and from the sediment to the water column
can be calculated from the Mn2+ gradient using Fick’s
first law.

The following is a table (Tab. 11.7, Fig. 11.30) of
measured pore water manganese concentrations in
reducing sediment at the deepest station in the upper
basin of Loch Etive, Scotland, where Mn2+ diffuses
up to the surface of the sediment following the
concentration gradient. The temperature of the sedi-
ment is 10°C and the porosity 0.84 (Overnell 2002;
Overnell et al. 2002).

a) Calculate the maximum upward flux of Mn2+

towards the sediment surface (JMn) in the reducing
sediments of the upper basin of Loch Etive. Use the
depth interval with the steepest upward gradient for
the calculation. The Mn2+ diffusion coefficient for
sediment along with the in situ porosity and
temperature are given in chapter 3 together with the
necessary equations.

b) At what depth below the sediment surface are
the Mn-oxides reduced and Mn2+ ions released to the
pore water?

c) Are there indications that precipitation of Mn
oxides is already taking place in the uppermost few
millimeters of the sediment?

Figs 11.30 Measured pore water manganese concen-
trations in reducing sediment at the deepest station in
the upper basin of Loch Etive, Scotland.
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Table 11.7 Measured pore water manganese concen-
trations in reducing sediment at the deepest station in
the upper basin of Loch Etive, Scotland.

Problem 4

Plot the NASC-normalized REE distribution patterns
(Table 11.8) for the following types of submarine and
subaerial Mn deposits. Remember to include all REE
on the x-axis, even those elements that have not been
analyzed. What do these REE patterns tell us about
the modes of formation of these various manganese
deposits?

Problem 5

Radiometric dating has revealed wide variations
(by four orders of magnitude) for the growth rates of
marine manganese deposits: Co-rich Mn crusts (0.8
mm Ma-1; Puteanus and Halbach 1988), deep-sea
manganese nodules on red clay substrates (1-2 mm
Ma-1; Hu and Ku 1984), deep-sea manganese nodules
on siliceous ooze substrates (3-8 mm Ma-1; Hu and Ku
1984), deep-sea manganese nodules on hemipelagic
clay substrates (20-50 mm Ma-1; Hu and Ku 1984), Baltic
Sea concretions from 1,700-21,000 mm Ma-1; Liebetrau
et al. 2002) and submarine hydrothermal manganese
crusts >1,000 mm Ma-1. These growth rates vary by a
four orders of magnitude. How do you account for
such wide variations in growth rates?

Table 11.8  REE distribution patterns for submarine and subaerial Mn deposits.
Source of data: a Kunzendorf et al. (1993), b Glasby et al. (1987), c De Carlo and McMurtry (1992), d Szefer et al.
(1998), e Glasby et al. (1997), f Glasby et al. (2004), g Gromet et al. (1984)   n.a. = not analyzed.
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Depth Mn2+ Depth Mn2+

cm µM cm µM

0.25 1.5 6.5 544.9
0.75 54.2 7.5 455.1

1.5 195.6 8.5 453.1
2.5 369.1 9.5 444.7
3.5 521.4 10.5 408.4
4.5 490.6 11.5 393.8
5.5 571.2 12.5 425.0

Deep-sea Deep-sea Deep-sea Co-rich Baltic Sea Submarine Vani NASC
nodule nodule nodule Mn crust ferroman- hydro- Mn deposit

SW Pacific CC FZ Peru Basin ganese thermal
concretion crust

source of data a b b c d e f g

La 167 93 55 287 24.1 38.1 19.2 31.1
Ce 952 344 112 1277 40.8 80.8 28 66.7
Nd 183 134 46 260 20.9 39.1 11.2 27.4
Sm 40 33.3 12.3 50.5 4.58 8.44 2.2 5.59
Eu 10.7 7.8 3.0 14.0 1.08 2.51 3.3 1.18
Gd n.a. n.a. n.a. 60.8 4.46 7.54 2.9 5.5
Tb 6.5 4.0 1.9 n.a. 0.63 1.09 0.2 0.85
Dy n.a. n.a. n.a. 48.7 3.42 6.38 2.4 5.54
Er n.a. n.a. n.a. 26.5 1.92 3.15 1.6 3.27
Yb 19.5 12.9 8.7 25.3 2.1 2.64 1.6 3.06
Lu 2.9 1.8 1.4 3.57 0.29 0.36 0.2 0.456

11.5 Problems
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12.1 Introduction

The observations made in the preceding chapters
have demonstrated that the upper sediment layers
usually contain the highest biochemical reaction
rates within marine deposits.

The decomposition of organic matter repre-
sents the major motive force of the benthic system
and its processes which are mostly catalyzed by
microbial activity. How important is the boundary
between free water mass and the pore water
system? In this chapter, we will be concerned with
finding answers to this question.

It is well established by a large number of
long-term studies that most part of the primary
organic substance is remineralized in the upper
water zones after the organisms have died (cf.
Chapter 4 and Section 5.5). Estimates on the
marine carbon cycle, which were made for pelagic
and hemipelagic domains of the ocean, demon-
strate this process (Fig. 12.1). According to Berger
et al. (1989), on average only about 1% of the
organic matter reaches the sediment surface in the
open ocean. Approximately 97% of this amount is
decomposed in early diagenetic reactions so that
only 0.03% of the organic carbon produced in the
photic zone will ultimately become buried. Later
on we will more thoroughly discuss the diffe-
rences between pelagic and coastal regions of the
ocean where the burial rates are estimated to be
up to 30 times higher. Although the information
contained in Figure 12.1 might vary depending on
the applied method (e.g. de Baar and Suess 1993),
in most cases relationships and dimensions
usually remain quite consistent. This approximate
balance may also apply to most nutrient cycles in
the ocean.

Regarding the water body simplistically as an
indivisible entity, without concerning to its nume-

12 Quantification and Regionalization
of Benthic Reflux
MATTHIAS ZABEL AND CHRISTIAN HENSEN

rous internal cycles, only the boundary condi-
tions of the system will ultimately determine its
potential changes in the course of time. Under
such an assumption, the following boundary
systems will have to be considered: 1) the

Fig. 12.1  Schematic representation of the particulate,
organic carbon cycle in the ocean according to Berger et
al. (1989). The numerical values have the dimension of
gC m-2 yr-1. Differences between the open ocean and
coastal areas are shown. Of the 1% primary production
(PPT) that reaches the ocean floor, only 3% are
embedded in the open ocean for a period of geological
time. In contrast, 97% are decomposed by microbial
activity and returned to the water column in the form
of dissolved constituents (cf. Fig. 6.6).
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atmosphere, 2) the continents and 3) the ocean
floor (Fig. 12.2).

Of all ocean boundaries the contact made with
the atmosphere is surely of greatest significance
with regard to medium- and short-term alterations
in global cycles. Accordingly, one of the most
fundamental issues in the discussion of climate
change is concerned with the exchange processes
of dissolved and free gases across this boundary
(cf. Chapter 10). Considering the huge area of the
seafloor where carbonate-rich sediments dominate
(cf. Chapter 1), the marine deposits offer an
enormous sink, which in the long run, may
compensate for the input of greenhouse gases
from the atmosphere (cf. Chapter 9).

The fluvial input of dissolved and suspended
material to the ocean presents a boundary
condition, which can reliably be estimated (cf.
Fig. 1.2). Apart from eolian particle transport,
which may be of great importance in areas
adjacent to the great desert regions, this mode of
transport represents the major pathway of element

input into the marine system. In this regard,
Chester (2000) gives an extensive overview
especially of processes with terrestrial origin. In
comparison, the local inputs originating from a
weathering of the oceanic crust, or from hydro-
thermal activity (cf. Chapters 13 and 14), are
quantitatively far less significant on a global
scale.

The role of the benthic interface is not to be
defined exclusively by one transport direction. On
the one hand, deposition and burial of marine
sediments remove elements from the marine cycles
over geological time periods. Yet, as the example
of the carbon cycle shown above already demon-
strated, an immense proportion of accumulated
particles are subject to dissolution or microbial
decomposition in the course of early diagenesis
(cf. Chapter 9). Marine sediments therefore also
act as a ‘secondary’ source of remineralized dis-
solved components. The coexistence of these two
fundamental, but oppositely directed mass
movements constitutes one of the most essential
phenomena at the seafloor. Next to studies on
particle fluxes through the water column and
element-specific accumulation rates, the quanti-
fication of benthic flux rates across the sediment/
water boundary represents the third pre-condition
for obtaining a complete balance of the marine
material cycles.

The object of this chapter is to illuminate the
existing approaches, which are used for the
quantification and interpretation of benthic mate-
rial fluxes. The emphasis is put on the regional
and global interactions with other parameters by
introducing different concepts for the investi-
gation of spatial distribution patterns. The compa-
rison of results from geostatistical methods and
the opportunities given by modern geographical
information systems (GIS) will be placed in the
center of the observations.

12.2 Fundamental Considerations
and Assessment Criteria for
Benthic Flux Rates

Locally conducted investigations are the base of
all spatial descriptions. Depending on the subject
under study, the quality of regional and global
observations, in principle, improves in accordance
with the quantity of single studies and the type of
their spatial distribution. However, scientific pro-

Fig. 12.2  Simplified representation of the imports and
exports pertaining to oceanic cycles.
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gress also implies the improvement and often
diversification of the applied methods, which may
lead to a limited comparability of the collected
data. This is emphasized by a comprehensive sum-
mary of the technical equipment and the analytical
methods currently employed for geochemical
studies at the benthic boundary in Chapter 3. As
the knowledge of detailed results obtained from
applying these methods is an imperative criterion
for selecting literature references on benthic flux
rates, a brief compilation of the essential aspects
related to this subject will follow.

Irrespective of the differences between in situ
and ex situ measurements (see below and
Chapter 6), there are generally two ways to
determine the transport rates of dissolved sub-
stances across the water/sediment boundary:
determination of the concentration differences
along the depth profiles (gradient approach) and
measurement of the time-dependent concentration
changes of dissolved species within a closed

reservoir (chamber experiments; Reimers et al.
2001; cf. Chapters 3 and 6).

The fundamental difference between both
approaches is caused by the different transport
mechanisms involved (Fig. 12.3). Whereas only a
diffusion-controlled transport of material can be
measured by applying microelectrodes in the
diffusion boundary layer (DBL) and in the pore
water (cf. Section 5.2.3), enrichment and/or
depletion in the overlying bottom water deliver
rates of total exchange.

12.2.1 Depth Resolution
of Concentration Profiles

Let us first have a look at depth profiles of concen-
trations and how they are interpreted. Since the
DBL represents the transition zone between the
sediment/pore water system and the turbulent
movements within water column above, all diffu-
sive exchange must pass this layer of laminar flow.

Fig. 12.3  Transport mechanisms of dissolved substances in the sediment/pore water system. The diffusive transport is
substance-specific and is solely based on the distribution of material concentrations. Its calculation is performed on the basis of
concentration gradients in pore water (JDsed) and/or within the diffusive boundary layer (J Dm). The morphology of the sediment
surface is usually not considered. To determine total exchanges (TE), transport processes induced by macrobenthic activity
must be additionally included. Whilst the unspecific transport by means of bioturbation (Jbt) can mostly be neglected,
bioirrigation (Jbi) assumes great importance especially in densely populated and nutrient-rich sediments. A rarely noticed
boundary exchange takes place across the walls of housing or feeding habitats which are densely populated by microbes.
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Since biogeochemical reactions within the DBL are
negligible relative to the surface sediments,
measurements of concentration gradients across
this zone provide an accurate estimate of diffusive
benthic exchange. As has already been explained
in the Chapters 3 and 6, the necessary application
of microsensor technology in deep-sea environ-
ments is only feasible for analyzing very few
parameters (O2, CO2, Ca, H2S and pH). All other
profiling measurements are consequently based
on the conventional methods of pore water
extraction, or are conducted by applying ion
exchange resins in so-called gel peepers. The

sampling methods mentioned differ in their
underlying principles of measurement and in their
power of depth resolution, which is of enormous
significance concerning the rates of diffusive
exchange. As the concentration changes in the
pore water fraction situated immediately below the
DBL are linear only in exceptional cases, the
distance between each single reported concen-
tration value markedly influences the determi-
nation of the exchange rate (cf. Chapter 3). An
increased sampling density can therefore easily
lead to changes of a factor of 2. Usually this
implies more pronounced gradients, as for example
shown in Figure 12.4, i.e. higher rates of transport.
The problem of having to de-cide upon which
result should be used for regio-nalization is likely
to occur, particularly when older and recent
studies are compared.

A careful examination of the database is
always necessary if the flux rates were calculated
from pore water profiles of variant resolution. A
commonly used method to minimize such discre-
pancies consists of the application of mathema-
tical fit-functions (e.g. Sayles et al. 1996). As long
as the sampling procedure includes at least all
essential features of an anticipated concentration
curve (zones of release and fixation), the appli-
cation of non-linear functions will permit a
‘theoretical’ depth resolution of any desired
precision and thus a theoretical flux calculation in
close proximity to the boundary.

12.2.2 Diffusive versus
Total Solute Exchange

Diffusion-controlled exchange represents only
one more or less large proportion of the total
transport activity between the sediment and the
bottom water (Fig. 12.3). In recent years, nume-
rous studies have shown that the negligence of
macrobenthic activity – dominantly driving
bioirrigation processes in the surface sediments –
would lead to a significant underestimation of flux
rates particularly in high productivity areas and
marginal seas. These effects of non-local trans-
port are best investigated for oxygen (e.g. Archer
and Devol 1992; Glud et al. 1994; Wenzhöfer and
Glud 2002; cf. Chapter 6). Except for coarse-
grained sediments, the non-diffusive transport in
marine sediments is primarily controlled by the
activity of macrobenthic organisms (e.g. Glud et
al. 1994; cf. Fig. 6.1). Compiling results from
several studies in different areas, Figure 12.5

Fig. 12.4  Effects of the depth resolution in pore water
concentration profiles on calculating the rates of diffusive
transport. Three samples drawn from surface sediments are
shown to possess different resolutions (intervals: 0.5 cm - dots,
1.0 cm diamonds, 2.0 cm - squares). All values are sufficient to
plot the idealized concentration profile within the bounds of
analytical error, yet very different flux rates are calculated in
dependence on the depth resolution values. In the demon-
strated example, the smallest sample distance indicates the
highest diffusion (2.98 mmol cm-2yr-1). As soon as the vertical
distance between single values increases, or, when the sedi-
ment segments under study grows in thickness, the calculated
export across the sediment-water boundary diminishes (2.34 –
1.64 mmol cm-2yr-1). In our example, this error which is due to
the coarse depth resolution can be reduced by applying a ma-
thematical Fit-function. A truncation of 0.05 cm yields a flux
rate of 2.84 mmol cm-2yr-1. (The indicated values were calcu-
lated under the assumption of the presented porosity profile
according to Fick’s first law of diffusion - see Chapter 3. A
diffusion coefficient of 1 cm-2yr-1 was assumed. Adaptation to
the resolution interval of 2.0 cm was accomplished by using a
simple exponential equation).
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gives an impression of the range of relationships
between diffusive and total flux. Obviously, the
significance of molecular diffusion decreases with
increasing respiration rate and thus, increasing
input of organic carbon. The more degradable
organic matter is supplied, the larger becomes the
population of macrobenthic organisms and the
higher is the demand for oxygen. However,
because the major part of the world ocean is
oligotrophic Jahnke (2001) argues that the activity
of macrobenthic organisms is probably of minor
importance for the total exchange of solutes at the
seafloor. This conclusion is supported by benthic
chamber experiments with soluble tracers (Sayles
and Martin 1995) and investigations of the spatial
distribution of DOU and TOU fluxes in the South
Atlantic (Wenzhöfer and Glud 2002).

Nevertheless, because measurements of total
exchange are still sparse, most studies dealing
with the budgeting of benthic flux rates are
restricted to observations below the 1,000m
isobath to minimize the effect of non-local trans-
port (Jahnke 1996; Zabel et al. 1998; Hensen et al.
1998; Seiter et al. 2005). This depth is frequently
described as something like a ‘boundary’ below
which the influence of macrobenthic organisms
strongly diminishes and diffusive fluxes are
approximately identical to the total transport rates
(cf. Section 6.4). However, strictly speaking, this
assumption is merely an arbitrary simplification.

12.2.3 In situ versus ex situ

In order to assess the comparability of literature
values, it is relevant to distinguish measurements
and sample withdrawals, which were conducted
directly at the ocean floor (in situ) from those
conducted on board of research vessels or in
laboratories (ex situ). In Section 6.3.2 it was
shown in detail that identical conditions of
measuring the highly reactive elements oxygen
and nitrogen (in the form of NO2, NO3, and NH4)
are of decisive importance for examining stoi-
chiometric balances during early diagenesis.
Indeed, the same is true for regional differences
of single parameters. Depending on the sen-
sitivity to extreme changes of pressure and tem-
perature, the analyzed concentrations might
differ strongly (e.g. Jahnke et al. 1982; Glud et
al. 1994; cf. Fig. 6.16). This applies to both profi-
ling measurements and to incubation experi-
ments, implying an important, yet hardly quanti-
fiable, effect on the measurement of benthic
transport rates.

12.2.4 Time-Dependent Variances
and Spatial Variations in the
Micro-Environment

Estimates of the significance of seasonal and
micro-environmental variations of the benthic

Fig. 12.5  Relationship between diffusive oxygen uptake (DOU) and the total oxygen flux (TOU). The compilation
of several data sets (Reimers 1987; Reimers et al. 1992; Glud et al. 1994; Hales and Emerson 1997; Weber et al.
2001; Wenzhöfer and Glud 2002) shows a significant positive correlation between total respiration rates and the
portion of nonmolecular transport processes (cf. Jahnke 2001).
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system are very difficult to perform. Nevertheless,
information on both factors is very important for
assessing the comparability of results obtained
from single case studies. For instance, the repro-
duction of measurements carried out at ‘identical’
locations, but performed in successive years and
in different seasons, in fact exhibit a significant
variation of concentrations within the near-
surface zone (e.g. Zabel et al. 1998). Two reasons
for this phenomenon are presently being discus-
sed: a) seasonal and interannual variations of the
particle flux to the ocean floor and b) differences
in relatively small natural environments.

Temporal variations of export production are
well known from long-term sediment trap experi-
ments (e.g. Wefer and Fischer 1993) and can
nowadays also be deduced by satellite monitoring.
However, important effects of sediment pulses on
biogeochemical reactions at the sediment surface
are primarily confined to eutrophic areas, predomi-
nately along continental margins (Sayles et al.
1994). Such rapid deposition events of organic-rich
aggregates known as ‘marine snow’ induce a very
strong increase of benthic reaction rates, especially
as far as the oxygen consumption is concerned

(Witte et al. 2003a/b, Bühring et al. 2005;
Aspetsberger et al. subm. a/b; cf. Fig. 6.21). In
contrast, interannual variation of benthic flux rates
in the pelagic zone of the deep-sea has been
estimated to be rather low (Smith et al. 1992).

Apart from the variances in particulate input,
there are also small-scale micro-environmental
variations at the ocean floor, which primarily
depend on the morphology of the sediment
surface and the intensity of the bottom water
current (see Fig. 3.22; compare with Chapters 3
and 6). Time-lapse recordings of the ocean floor
revealed that depending on the relief of the
sediment surface marked sedimentation events are
recorded to varying extent (e.g. Lampitt 1996).
Hence, the so-called ‘fluffy’ layer is not a
homogenous layer on top of the sediment,
instead, deposits of phytodetritus accumulate in
little hollows. It is evident that, in such a case,
significantly different rates are determined,
depending on the precise spot of sediment
recovery or micro-electrode measurement.

In addition to these heterogeneities, pore
water profiles can also be significantly affected by
chemical variations on even smaller scale, which

Table 12.1  Factors for assessing the comparability of differently indicated benthic flux rates.
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are related to the formation of sub- and anoxic
microenvironments. Burial of larger particles
stemming from organisms and fecal pellets may
create hotspots of microbial activity within the
sediment. Locally restricted deficits of oxidants,
particularly of oxygen and nitrate, are the conse-
quence. In this context Jørgensen (1977) reported
reducing microniches of about 50-200µm in
diameter, where sulfate reduction may take place
in a basically oxidized environment. The retar-
dation of diffusion is likely caused by the forma-
tion of organic coatings or precipitation processes
narrowing the pore space. Developing a simple
mathematical model, Jahnke (1985) could already
show that processes in microenvironments can
affect pore water profiles in a different way.
Applying a three-dimensional model to results of
high resolution DGT profiles (see Section 3.5)
Harper et al. (1999) concluded that the common one-
dimensional view of the system may underestimate
relevant process rates by a factor of at least 3.

For the sake of completeness, advective effu-
sions also need to be mentioned here (see
Chapters 13 and 14). Although their significance
for global balances of materials (e.g. CO2, see
Chapter 5) has been hardly investigated yet, the
hot vents and cold seeps, usually locally con-
fined, seem to be rather unimportant for the
interaction described here. Nevertheless, they
may be relevant when looking on specific element
cycles (e.g. Li, B or Ba).

In summary, knowledge of the applied methods
and the local conditions is indispensable for the
compilation of a database which should be as
homogenous as possible. However, a clearly
defined objective is required for characterizing
patterns of regional and global distributions in
order to successfully avoid illicit comparisons. As
we will see, to merely resign to data produced
under identical conditions is by no means a
realistic conclusion. Good judgment is always of
ultimate importance. Table 12.1 gives an overview
on the important aspects of this section.

12.3 The Interpretation of Patterns
of Regionally Distributed Data

One important objective in characterizing regional
differences of early diagenetic processes is to
obtain information on the rate-determining control
parameters and the benthic material fluxes. It has

been stated before that, for various reasons, there
can be no global database covering all biogeo-
chemical and sedimentary environments. It is
therefore only possible to design global balances
of geochemical material cycles by means of deter-
ministic approaches. It is thus reasonable to focus
on those control parameters with the highest data
density available, which are for example primary
production or the Corg content of surface sedi-
ments (see Section 12.5).

The interrelations between the individual areas
of the oceans have already been outlined at the
beginning of this chapter. Owing to an intense
research of the last decades, many principles of
interaction and modes of possible interference
among single processes could be demonstrated
(e.g. a high rate of primary production yields large
amounts of organic substance in the sediment,
which intensifies the growth of benthic popu-
lations; cf. Section 12.2.2). According to the
principle of actuality, any statement on environ-
mental changes in Earth’s history, as well as any
prognoses on global change in the future, must be
based on a thorough understanding of the present
situation. However, empirical relations mostly
apply only for a limited range of locations. In the
following, the most important control parameters
will be presented, along with a brief comment on
the potential relevance they have for the benthic
interface.

12.3.1 Input and Accumulation
of Organic Material

The amount of nutrients recycled back to the
ocean by benthic processes is closely related to
the availability of organic substances, which can
be degraded by microorganisms (cf. Chapters 3-
10). There are two fundamental strategies to
make use of this correlation as a control
parameter for the benthic biogeochemical system
and as a tool for the estimation of benthic mate-
rial fluxes.

An indirect way to estimate the amount of
organic substance in the benthic system uses
the close coupling between the biological phy-
toplankton reproduction in the photic zone with
the Corg rain to the ocean bottom. The overall
advantage of this approach is that satellite data
are available in high resolution in space and
time, respectively (e.g. Antoine et al. 1996;
Behrenfeld and Falkowski 1997; http://www.
Oceancolor.gsfc.nasa.gov/SeaWiFS/). Figure 12.6
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Fig. 12.6 Map representing the mean annual primary production [gCm-2yr-1]. Among other parameters, the
distribution of pigment concentration, surface-water temperature and surface irradiance were used for its
construction. The representation is the result of model calculations (redrawn after Antoine et al. 1996).

Fig. 12.7 Subdivision of the world’s oceans into 33 TOC-based regional zones. The geographical boundaries of the
single regions were defined by applying combined qualitative and quantitative-geostatistical analyses of the spatial
dependencies of the data points. In principle, each benthic province is characterized by a specific combination of
oceanographic and sedimentary characteristics (after Seiter et al. 2004).
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shows the global distribution of the mean annual
primary production of phytoplankton as simula-
ted by Antoine et al. (1996). Based on the know-
ledge on how oceanic circulation and other phy-
sical parameters like radiation and wind mixing
affect the production of phytoplankton, four
major zones can be distinguished: 1) the polar
zones 2) the west wind zone 3) the trade wind
zone, and 4) the coastal zone (Sathyendranat et al.
1995). According to Longhurst et al. (1995) this
rough division can be subdivided into 57 biogeo-
chemical provinces that display different dyna-
mics regarding the processes of primary pro-
duction. The deposition flux of organic carbon
may then be derived from application of simple
relationships (cf. Fig. 6.3), which can on average
provide useful results. But, as described below,
such calculations may be critical especially along
continental margins.

The second way to estimate the availability of
organic substance in the benthic realm is to
directly determine the organic carbon concen-
tration in surface sediments (TOC) or to calculate
the organic carbon burial rate. The simplistic
approach to describe the dependence between the
Corg-content and benthic flux rates has proven

successful in specific regions (cf. Figs. 6.23b and
6.25b). However, thousands of TOC measurements
exist worldwide, but problems related to the inter-
nal comparability of the data may arise here due to
sampling artifacts or the different analytical
methods applied. After all, organic substances are
not identically prone to the same degree of
microbial decomposition (cf. Chapter 5). Since the
analytical effort is enormous to classify the
organic carbon either according to its origin
(terrigenous or marine, e.g. by means of δ13C –
measurements, see Chapter 10), or its labile and
refractory proportions (e.g. Dauwe and Middel-
burg 1998; Dauwe et al. 1999; Schubert et al. 2005),
most Corg amounts are reported as unspecified
total values. Nevertheless, Seiter et al. (2004) were
able to calculate the global distribution of TOC in
surface sediments by defining 33 regional benthic
provinces, which consider regional oceanographic
and sedimentary conditions controlling the
deposition of organic material. (Figs. 12.7 and
12.8).

Comparing the results of both approaches
outlined above it becomes obvious that the latter,
in general, provides the more precise and realistic
results, which is mainly caused by the complexity

Fig. 12.8 Global distribution pattern of the organic carbon content (TOC) in surface sediments (<5 cm sediment
depth) (with permission from Elsevier reprinted from Seiter et al. 2004).
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of sedimentation processes. On the one hand, the
export production cannot be estimated directly
based on remote sensing data, because there is a
lack of essential empirical data. On the other hand,
results obtained from sediment trap experiments
have revealed that particulate matter is mostly not
transported exclusively vertical to the ocean floor.
Thus the pre-condition of a locally bound and
vertical projection of biochemical processes in
surface waters to the accumulation of biogenic
particles on the ocean floor is not absolutely
fulfilled. Other unknown factors are introduced by
the variable sedimentation velocities of different
particles and aggregates and by the varying
sampling-efficiencies of sediment traps. Further-
more, the time particles spend in the water column
effectively influences the rates of dissolution and
microbial decomposition reactions in the course of
the sedimentation process.

Despite these limitations, empirically deter-
mined transfer functions are frequently applied,
which predominately describe the relation
between water depth and particle flux (e.g. Suess
1980; Pace et al. 1987; Antia et al. 2001). Thus, the
flux of particulate organic carbon to ocean floor is
applied as the rate limiting control parameter
(Schlüter et al. 2000; Wenzhöfer and Glud 2002).
Although less precise the use of transfer functions
is also very helpful for the use in coupled benthic-
pelagic models (cf. Fig. 12.20). Some of these

mathematical equations are described in Chapter 6
(Fig. 6.3). Bishop (1989) compared the most
commonly used functions with results from sedi-
ment trap studies.

12.3.2 Vertical versus Lateral Input
of Particulate Matter

Ocean currents may cause a variable lateral drift of
settling particles on their way to the ocean floor.
This effect is particularly emphasized along conti-
nental margins, yet results from sediment traps
have shown that this is also a typical pheno-
menon in open ocean settings. Frequently, sedi-
ment traps deployed closer to the sea floor receive
higher particle fluxes than those some hundreds
or thousands of meters above. Similar discre-
pancies are obtained when particle flux rates from
sediment trap experiments are compared with
benthic reaction rates (e.g. Wenzhöfer and Glud
2002; Seiter et al. 2005).

Chapter 3 contains some examples on how the
amount of decomposed organic material can be
very easily calculated from pore water profiles or
the depletion of the corresponding electron
acceptors (O2, NO3, etc.). If the Corg burial rate is
estimated from the depth profile of the Corg
content one can simply add the decomposition
and preservation fluxes to obtain the original flux
to the sediment surface. A number of studies have

Fig. 12.9 Occurrence of nepheloid layers (based on beam attenuation and light scattering profiles) across the
continental margin off Namibia at 25.5°S. As a result of the lateral particle transport, a TOC-rich depot center has
develloped on the mid-slope (compiled from Inthorn et al. subm. a and b).
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proven, however, that a comparison of the particle
fluxes – either determined in the water column or
calculated on the basis of the primary production
– with benthic remineralization data do not
produce a conclusive picture (e.g. Walsh 1991;
Rowe et al. 1994; Hensen et al. 2000). Increasing
current velocities may lead to erosion and re-
suspension of older sediments and thus, provide
an additional transport component. This so-called
winnowing effect is of significance for material
balances of most shelf regions. Depending on the
velocity of the bottom currents, the accumulation
of the smaller or lighter components (like organic
material) can be reduced or completely prevented.
The effect of resuspension processes result in a
rise in the number of particles in the water layer
near the bottom, the nepheloid boundary layer
(Fig. 12.9). Its thickness might range from several
tens to hundreds of meters. Where the currents

subside the particles previously kept in suspen-
sion will deposit. This accumulation process is
referred to as focussing and occurs preferentially
at mid slope depths. Frequently described,
organic-rich depot centers develop (Fig. 12.9). The
experimental results shown in Figure 12.10 were
obtained from a study on the central Californian
continental margin. Illustrating the clear discre-
pancy between sediment trap based flux estima-
tions and the benthic response on the organic
carbon input, they give strong indication for a
lateral particle transport from the shelf and the
upper slope region down into the deep-sea.

Although the flux relationships and resulting
distribution patterns focus on outlined so far
specific regions, it is evident that they are
essential in order to provide reliable interpreta-
tions and estimates on benthic biogeochemical
processes.

Fig. 12.10 Comparison of particle transport measurements using sediment traps with the results derived from in situ-
measurements at benthic boundaries (after Jahnke et al. 1990). The lateral offset of maximal values of organic material import, as
predicted by trap studies, and the highest O2-depletion rates (converted in terms of organic substance decomposition) indicates a
Corg - transport close to the ocean bottom, which is directed from the shelf and upper slope region to the deep-sea margins.
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12.3.3 Composition of the Sediment

Chapter 1 presented a detailed introduction into
the distribution and diversity of marine sediments.
Here, we will highlight a few aspects on how the
sediment composition, might affect the exchange
of dissolved components moving across the
benthic interface.

The problems that occur from applying bio-
genic sediment components as control parameters
of benthic flux rates is demonstrated by the
marine silicon cycle. The dispersal and the

proportion of biogenic opal in sediments depends
on three factors: a) the rain rate of biogenic opal,
b) the accumulation of other particles, and c) the
degree of preservation in the sediment. At first
sight the significance of these three factors
appears to be trivial, but all in all there are some
complex interactions. The rain rate of biogenic
silicate as well as the degree of opal preservation
in the sediment are both a function of specific
dissolution rates. These may decrease in the
course from production in the surface waters to
burial in the sediments by some orders of
magnitude due to alteration of the opal skeletons
and changes of the environmental conditions
(Van Cappellen et al. 2002). However, it may occur
that the amount of biogenic opal in the sediment
is below the limit of analytical detection, despite a
significant production and export of siliceous
plankton, which is caused by effective dissolution
before final deposition. From a thermodynamic
point of view, the dissolution of ‘pure’ opal is
mainly a function of temperature, degree of under-
saturation and surface area. However, pure phases
almost never occur in nature and thus, simple
approaches proved to be inappropriate in order to
describe the dissolution processes. It is known
from numerous studies that dissolution kinetics of
biogenic opal are seriously affected by the
concentration of absorbed or incorporated trace
elements (e.g. van Bennekom et al. 1991; Dixit et
al. 2001). On the one hand the presence and the
amount of trace metals is a primary signal, but it
also depends on the availability and the concen-
tration of adequate lithogenic elements and may
be subject to strong regional diversification.
Van Cappellen and Qui (1997) and later Dixit et al.
(2001) and Dixit and Van Cappellen (2003) were
able to describe the relation between the primarily
asymptotical increase of silicon concentrations in
pore water, the silicon-specific ratio of lithogenic
components, and the content of opal (Fig. 12.11).
Since no simple correlation between the con-
centration of silicon in pore water and opal in the
sediment could be found, it is not possible to
estimate the extent of the benthic reflux by simply
knowing the opal flux to the sediment. Further-
more, the diagenetic alteration of diatom shells in
sediments seems to be accompanied with a
change in the surface chemical structure of the
frustules, which consequently results in a
progressive loss of the reactivity of biogenic
silica (Dixit and Van Cappellen 2002). Although the
dissolution of diatom frustules itself is a thermo-

Fig. 12.11 The ratio between the detrital and the opal
content of sediments may be the major controlling factor for
the dissolution capacity of opal and therefore for the asymp-
totic increase of silicic acid pore water concentrations with
sediment depth and the release of silicic acid to the bottom
water. a) benthic silicic acid flux as a function of the detrital to
opal mass ratio in surface sediments; b) model-predicted fluxes
for two hypothetical sets of sediment. The TOC is assumed
constant with 3 wt%. The data originate from different sources
(modified after Dixit and Van Cappellen 2003).
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dynamic process caused by the undersaturation
of pore fluids with respect to biogenic silica, the
alteration process is probably closely linked to
bacterial activity (Bidle and Azam 1999). Some
recent studies have provided evidence that
bacterial ectoprotease action on marine diatom
detritus strongly accelerates silica dissolution
rates by removing the organic coatings that
normally protect frustules from direct exposure to
the unsaturated pore and seawater (Bidle and
Azam 2001; Bidle et al. 2002, 2003). The systematic
investigation of pore water profiles of oxygen and
silica revealed this inherent linkage of oxic
respiration and opal dissolution. Holstein and
Hensen (subm.) could derive a simple empirical
formulation relating the Si flux to the oxygen flux
with

2
54.0 OSi FF ⋅=                            (12.1)

where the calculated Si-Flux reaches a confidence
level of approximately 70%. This approach has

successfully been applied by Seiter et al. (subm.)
who estimated the total Si reflux and thus, the
minimum opal rain rate to the sea floor for the
southern Atlantic Ocean. The combination of such
simple empirical equations may provide a powerful
tool in order to estimate total dissolution or mate-
rial fluxes.

Dilution by quasi-non-reactive terrestrial par-
ticles, mainly clay minerals, feldspars and quartz
provides another example emphasizing the
significance of the sediment composition on ben-
thic material fluxes. This process is equivalent to
the effect of the accumulation rate of all biogeo-
chemical non-reactive particles (NRP). More
simply, a high accumulation rate, especially of
carbonate (foraminifera, coccolithophorids etc.)
and or lithogenic particles leads to an increasing
burial efficiency or preservation of all reactive
components (Corg, opal etc.). In case of constant
inputs, for instance of organic substance, the time
these substances spend in the highly reactive
surface layer decreases with an increase in the

Fig. 12.12 Simplified representation of the burial efficiency of reactive substances (e.g. Corg) dependent on the
accumulation rate of non-reactive components (NRP, esp. carbonate and lithogenic particles), modified after Jahnke
(1996). The following assumptions are fundamental to the simulations shown: 1) The sedimenting particles have a
density (δ) of 2.5 g cm-3, 2) the surface-near reaction layer is subject to constant bioturbation (homogenization); 3)
the porosity (φ) is constantly 85%. Flux rates are reported in the unit mg cm-2 yr-1, whereas the resulting
sedimentation rates (ω) are in cm kyr-1. The decomposition rate of organic carbon compounds (τ) is reported as
50%/50 yrs. The juxtaposition of scenarios A and B demonstrates the dependence of the Corg burial rate on the rate
of NRP accumulation. In case of identical decomposition rates, an increase of the NRP/Corg ratio (10/1-100/1) will
result in a more efficient burial of Corg (1.2%-11.1%). The scenarios C and D show the relevant principle differences
between the open ocean (C) and the coastal ocean (D). Compared to Figure 12.1, the selected Corg values are
equivalent to rain rates of 50, or respectively, 225 gC m-2 yr-1 of primary production. The assumptions demonstrate
that identical burial rates can prevail in both systems due to variable boundary conditions (decomposition efficiency,
thickness of the mixed layer; cf. Fig. 6.6)

12.3 The Interpretation of Patterns of Regionally Distributed Data
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rain rate of non-reactive compounds. A reversal of
the effect, the reduction of the burial rate due to
decreasing input of non-reactive phases, may be
induced by physicochemical dissolution of
carbonate below the CCD (see Chapter 9).
Figure 12.12 demonstrates both effects schema-
tically as simplified balances. The dissolution of
carbonate related to the degradation of organic
material is neglected in this case.

12.4 Conceptual Approaches and
Methods for Regional
Balancing

As pointed out in the preceding sections, the
establishment of basin-wide or global balances of
benthic material cycles always requires extra-
polation procedures, because all available data
sets are limited in size and usually consist of in-
homogeneously distributed point data. Various
conceptual approaches are available to approach
this goal. In this section, fundamental aspects to
the most frequently used methods will be briefly
presented.

12.4.1 Statistical Key Parameters
and Regression Analysis

The probably easiest method of regional balan-
cing is based on the calculation of statistical key
parameters, such as the mean value or the median
value. In this context, the key parameters are
always related to geographically defined regions.
Therefore, the regions must be defined prior to
statistically evaluating the presumed representa-
tive data. The definition of the region is not the
result of the evaluation process. The knowledge
of the regional distribution in each region is
consequently an important pre-condition to the
application of the procedure. The sufficient fulfill-
ment of these conditions permits balancing perfor-
mance on a global level (e.g. Nelson et al. 1995).

The options and conclusions to be drawn from
regression analysis are essentially more diverse.
Data sets of two or more parameters are compared
with each other (cf. Figs. 12.11 or 12.18a/b). Such
mathematical descriptions of relations between
the single measured values and potential control
parameters enable the statistical extrapolation of
isolated measured values across the area (see
Sections 12.5.1 and 12.5.2). Furthermore, they can

be employed for the characterization and
demarcation of provinces, i.e. region-dependent
validity assessment for the correlations to be
investigated (cf. Section 12.3.1).

12.4.2 Variograms and Kriging

Fundamental publications related to this complex
geostatistical procedure originate from Krige
(1951) and Matheron (1963). In the broadest
sense, geostatistics deal with the spatial varia-
bility of location-dependent variables. The central
question is simply: are single and spatially
dispersed values capable of giving a represen-
tation of coherent structures, i.e. do the results of
local measurements show a spatial correlation? A
solution to this fundamental problem can be found
by means of variogram analysis. In contrast to
regression analysis, only the relationships of one
parameter are examined (e.g. values of benthic O2
depletion or TOC content). Information on even-
tual control parameters, such as the biodegradable
amount of organic substance, as mentioned in the
example above, are not required. As long as the
single values are interrelated, their mathematical
description by the various kriging methods will
serve to provide the desired spatial interpolation.
Hence, it is evident that the proper application of
kriging methods requires a rigorous pre-analysis
by variogram analysis. Below, the essential theore-
tical basics are briefly outlined. A more advanced
background to this field of study can be obtained
by specific literature (e.g. Journel and Huijbregts
1978; Davis 1986; Akin and Siemes 1988; Schlüter
1996; Wackernagel 1996).

The construction of iso-linear maps implicates
that the individual values obtained from local
measurements are related to each other. These
interrelations are usually subject to directional
changes, i.e. closely neighbored values are more
similar than distant ones. Variogram analysis is
designed to identify such ‘trend structures’
showing decreasing similarity with increasing
distance. In particular, variograms include vector
functions designed to determine the one-half,
medium, and squared differences between mea-
surements conducted at two discrete locations
(variances). The calculation of these variances will
consequently consider the distance between the
points. Thus, distance clusters need to be defined
to permit an allocation (Eq. 12.2) of each variogram
value (as a sum function - γ(h)) to a number of
point pairs (n(h)) defined by the chosen distance
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criterion (h). In the example shown in Figure 12.13,
a cluster size of 0.5 (e.g. degree or km) was
chosen, i.e. differences between measured values
with distances of up to 0.5 are plotted in the first
variogram, should the distance lie between 2 and
2.5, the difference value will be entered in the fifth
variance calculation.
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Mostly, data are related up to a certain
distance. The variogram values usually start scat-
tering at greater distances around a sill value,
which is equivalent to the total variance of the
parameter studied (transitive variogram type). The
distance at the sill indicates the range of structu-
ral dependence. Frequently the ranges of a vario-
gram vary depending on the chosen direction
(geometrical or spatial anisotropy).

Different types of mathematical model
functions (linear, spherical, exponential, etc.) are

available to describe the inherent relationships.
These functions build the basis of the subsequent
regionalization (or kriging) procedure. There are
various geostatistical software packages designed
for performing variogram analyses (share ware:
e.g. GEO-EAS (Englund and Sparks 1988);
commercial: e.g. VARIOWIN (Pannatier 1996),
SURFER (Golden Software)).

In the kriging process  selected data points are
used for spatial weighting, which satisfy the
outcome of the variogram analysis. Spatial esti-
mates or interpolation of data is performed in such
a manner that the estimated variances become
minimal. Equation 12.3 demonstrates the formu-
lation of ordinary kriging.
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*
)(xz  : estimated value for a real, but un-

known value )(xz

)( ixz  : known values at the locations ix

iλ  : weighting factor dependent on dis-
tance and eventually on direction

A comprehensive system of equations needs
to be solved in order to solve the optimization
problem, making the sum of weighting factors
turn to zero, i.e. not allowing distortion/strain to
occur in the course of the estimation procedure.
The limitation on applying this powerful regi-
onalization procedure consists in the geo-
graphical distribution, or density, of the existing
data. Apart from the ordinary kriging method
there are a number of complex extensions
(universal kriging, co-kriging, external-drift-
kriging), which allow the use of additional
information on parameter interactions for inter-
polation.

12.4.3 Geographical Information Systems
(GIS)

Like demonstrated before, a reliable regional or
global balancing of benthic processes requires
information on a great variety of potential control
parameters. Therefore it is not surprising that con-
ventional calculation programs often cannot cope
with the permanently growing data sets. During
the last years geographical information systems
(GIS) have been established as a very powerful

Fig. 12.13  Schematic representation of a variogram.
The mean distances of point-pairs (h) and the
corresponding variances of their measured values (γ(h))
are plotted. The relation between individual values
diminishes with increasing distance, i.e. the γ(h)-values
increase. However, the structural dependence between the
point-pairs is only valid up to a specific distance (range).
From this point the variances tend to scatter around a
certain value (sill), which represents the total variance of
all values. The nugget effect, or the apparent mismatch
of the variogram to go through the origin, indicates for a
regionalized variable that it is highly variable over distan-
ces less than the sampling/cluster interval. A spherical
model was adapted to the idealized data.
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tool for handling and processing nearly unlimited
amount of different types of data. Based on the
background of a more or less internal data bank ma-
nagement system (DBMS), their main advantage is
the possibility of comparison and combination of
different information levels to determine structural
relationships between all types of data. As a pos-
sible result, new structures with formerly unknown
characteristics can be developed.

Apart from locally confined data, such as the
benthic fluxes at definite locations, most GIS
programs process grid data or vector data. One
example for grid data are the already mentioned
remote sensing data of pigment distribution in the
surface water, or the ice cover of the ocean which
is currently recorded by the Coastal Zone Color
Scanner of the NASA or the earth-orbiting NOAA-
satelites (cf. Section 12.3.1). These data are

Fig. 12.14 Distribution pattern of rates of benthic silicon release in the South Atlantic. a) Corrected result of the kriging
procedure on the basis of 76 measurement points in the eastern part of the South Atlantic (redrawn after Zabel et al.
1998). b) results of regionalization not corrected for, valid for the entire Atlantic ocean on the basis of 180 single
measurements (redrawn after Hensen et al. 1998). The results of both procedures in general reflect the distribution
pattern of surface-water productivity. Single significant deviations (western Argentinean Basin, eastern equatorial region)
can be explained as due to various influences exerted on the particle flux down to the seafloor.
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available as a grid of discrete image points and
cover extensive surface areas of the ocean. Other
examples are data sets, which contain global
information on topographic height or bathymetric
depth (e.g. http://www.ngdc.noaa.gov/mgg/
global/seltopo.html)

Contrary to computer-aided programs used in
map construction, GIS enables a linkage between
various mapping levels and levels of information.
For instance, set operations are performed to
blend and calculate intersections, or enable secti-
onal map coupling procedures. A bathymetric map
can be, for instance, combined with the distribu-
tive pattern of benthic particle fluxes. As a result,
the transport across the sediment/water interface
is balanced for specific regions, such as the deep-
sea, the continental slope, and the shelf area. As
an example, Figure 12.19 described in Section
12.5.2 could not have been produced without a
GIS program.

12.5 Applications

Following the theoretical explanations of the pre-
ceding sections, the different conceptual approa-
ches of regionalization and balancing will now be
demonstrated on several practical examples.

12.5.1 Balancing the Diffusion Controlled
Flux of Benthic Silicate in the South
Atlantic - Applications of Kriging

Apart from the benthic oxygen respiration (cf.
next section), there are no globally valid func-
tions of correlation between transfer rates of
other pore water solutes and their possible con-
trol parameters. Ultimately, all processes of early
diagenesis are in fact affected by the supply of
organic substance, although other control
parameters are also of relevance for the reflux
rates of most nutrients (e.g. C:N:P - ratio of the
remineralized material, cf. Section 6.2). The
complexity of the benthic system demands a
treatment of spatial differentiation. Like the
biogeochemical provinces applied for calculating
primary production or the TOC-based benthic
provinces mentioned before, correlative depen-
dencies between benthic flux rates and rate-
limiting control parameters only possess regio-
nally restricted validity. However, a greater
number of reliable analytical data exist for a

limited number of parameters. In some oceanic
regions, the available database, as well as its
internal geographical resolution, already permit
the application of the kriging method. The fol-
lowing example of the regional distribution of
benthic silicon fluxes in the South Atlantic will
make both aspects evident.

On the basis of comparative pore water
measurements carried out at 76 locations in the
eastern part of the South Atlantic, Zabel et al.
(1998) demonstrated the distribution pattern of
rates of benthic silicate release. As explained in
Section 12.4.2 this extrapolation method always
averages the measured values. From this it follows
that the estimated result of regionalization may
strongly differ from the real values in regions
showing great differences between neighboring
locations (especially in regions of the intensively
studied continental slope). This effect depends on
the resolution of the chosen grid (clustering) and
can require a subsequent manual adaptation of the
kriging results to the database. Figure 12.14a
shows the corrected result of kriging-regiona-
lization.

To regionalize the entire South Atlantic,
Hensen et al. (1998) used an extended database,
which contained 180 single measurements. Con-
trary to the more detailed map of the eastern parts,
the distribution pattern obtained was not manu-
ally corrected subsequently (Fig. 12.14b). In spite
of minor differences in the overall pattern, the
results obtained from both procedures reflect the
distribution of surface-water activity.

There are, however, differences in two areas:
a) in the eastern equatorial Atlantic and b) the
western part of the Argentine Basin. Despite a
high level of production, the benthic silicon
release is quite low in the Guinea and the northern
part of the Angola Basin. Although high
productivity prevails in the western part of the
Argentine Basin, export production is not suppo-
sed to supply sufficient amounts of biogenic opal
to match the high flux rates observed in this area.
These specific deviations would never have been
detected by simply applying empirical functions.
Nevertheless it is a fundamental task to explain
such regional deviations from normal ones.

As already described in Section 12.3.3, the
solubility rate of biogenic opal depends on a large
number of processes and environmental con-
ditions. The quality of the various opal phases
and their alteration over time are crucial in this
regard (Archer et al. 1993; Van Cappellen et al.
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2002). The Rivers Niger and Zaire, two of the lar-
gest streams worldwide discharge into the nor-
thern Angola Basin where they release tremen-
dous amounts of dissolved and particulate sub-
stance (compare with Fig. 1.2). As outlined above
(Sect. 12.3.3) the solubility of opal decreases when
the proportion of aluminiferous lithogenic detritus
increases (e.g. Van Cappellen and Qui 1997; Dixit
et al. 2001). The high opal content in the
sediments of river estuaries should therefore
result from an effective preservation of amor-
phous silicates. With greater distance from equa-
torial upwelling, it should also be considered that
remineralization processes in the water column
may be more intense as described by generalizing
transfer functions (cf. Fig. 6.3), which leads to a
reduction of specific accumulation rates. Hence,
both increased dissolution prior to deposition,
and a reduced dissolution after deposition are
probably the main reasons for the low benthic
silicon release.

The sedimentary environment of the Argentine
Basin is largely controlled by powerful current
systems and intense gravitational mass transport
(Ledbetter and Klaus 1987). Sinking particles, or
particles already deposited, are subjected to a
lateral drift over wide passages, or become re-
suspended (compare with Section 12.3.2). This

results in a relatively low accumulation of
biogenic material on the shelf. Particularly light
organic compounds are subject to winnowing and
accumulate further downslope (focusing). Thus,
high productivity is still reflected in this area,
however, with a strong horizontal offset towards
the deep sea. This effect is additionally enhanced
by the import of altered biogenic opal from the
Southern Ocean, transported northwards by the
Antarctic Bottom Water (AABW).

What are the conclusions, to be drawn from this
kind of regionalization? Figure 12.14b shows
that approximately 80% of the total release occurs
in the predominately oligotrophic open ocean.
The balance for the South Atlantic (>1000m
water depth) revealed a silicon recycling rate of
2.1⋅1012 moles Si yr-1. Assuming that the area
under study specifies a representative part of the
world’s oceans, the global release rate may be
extrapolated up to a value of 1.95⋅1013 moles Si yr-1

(Hensen et al. 1998; Tab 12.2). These rough
approximations probably underestimate the real
flux rate, since opal-rich sediments from the
Southern Ocean and the equatorial Pacific are not
realistically taken into account (cf. Section 12.5.3).
In all cases, these rough balances demonstrate
that the benthic reflux of silicon outweighs the
import by rivers and streams by a factor of 3
(7.3⋅1012 moles Si yr-1, Wollast and Mackenzie

Fig. 12.15  Simplified structure and flux rates of the marine
silicon cycle as resulting from the application of a prognos-
tic, coupled water column-sediment, global biogeochemical
ocean general circulation model. For comparison, flux values
given in brackets base on field observations and were calcu-
lated by Tréguer et al. 1995 (after Heinze et al. 2003).

Fig. 12.16  Correlation between Corg-burial rates and benthic
oxygen consumption. To compensate for deviant determina-
tions made in regions with high and low Corg/CaCO3 ratios.
CaCO3-burial rates are subtracted from the rates of total accu-
mulation, thus producing new Corg burial rates (COB) by multi-
plying the concentrations of Corg with the accumulation rate
corrected for CaCO3. Open symbols represent Atlantic sites;
solid symbols Pacific sites (after Jahnke 1996; cf. Fig. 6.6).
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1983). The balances confirm the results of other
studies on the marine silicon cycle (e.g. Tréguer et
al. 1995). However, more recent results by Heinze
et al. (2003) using a coupled biogeochemical water
column-sediment model, which is driven by a
general circulation model, indicate that these
fluxes may be underestimated by up to a factor of
3, implying a generally increased Si turnover in the
ocean as suggested before (Fig. 12.15). However,
using the potential coupling of the organic carbon
mineralization and the dissolution rate of biogenic
opal mentioned before (cf. Section 12.3.3) Seiter et
al. (subm.) conclude that the calculations of Hensen
et al. (1998) could be underestimations and there-
fore may support the model results.

12.5.2 Global Distribution of Benthic
Oxygen Depletion Rates -
An Example of Regression Analysis

The immense importance of dissolved free oxygen
for the microbial decomposition of organic
substance has already been discussed at length in
the Chapters 3, 5 and 6. Due to its chemical
properties which make it one of the most effective

energy sources and a reactive oxidizing agent,
dissolved oxygen consumed in the uppermost
layers of the sediment. Since the benthic concen-
trations of oxygen are additionally affected by
nearly all processes and factors mentioned in
Section 12.2, the precise determination of benthic
flux rates still proves to be difficult. The number
of reliable and comparable measurements is
consequently very low. Moreover, most field
studies are limited to selected oceanic areas. The
low number of analyses and the extreme hetero-
geneity of the geographical distribution exclude
an application of kriging procedures for regio-
nalization as well as the construction of contour
plots with the aid of GIS methods. Jahnke (1996)
therefore chose regression analysis for the inter-
polation and extrapolation for a set of data consis-
ting of 68 single measurements.

The close relation to bioavailable organic
matter was used as the rate-limiting control
parameter for benthic oxygen consumption.
Jahnke (1996) determined an empirical function
based on the correlation between the oxygen flux
across the sediment/water interface to the
concentrations of Corg  and CaCO3, and the overall

Table 12.2  Estimated benthic fluxes from deep-sea sediments (>1000m water depth) in 1012 mol yr-1.
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sediment accumulation rate by relating oxygen
depletion to the burial rate of organic carbon
compounds (Fig. 12.16; Section 12.3.3). The accu-
mulation rate was estimated based on different
data sets from carbonate-rich (e.g. the Atlantic
Ocean) and carbonate-poor regions (e.g. the
Pacific Ocean). The calculation of oxygen fluxes
by this simple method merely produced a maximum
deviation from real values by a factor of 2.

The result obtained from regression between
single measurements and the control parameters
was then used for extrapolation. Global oxygen
consumption could be reliably estimated for the
first time on a 2° grid encompassing many regions
where not a single data point exists (Fig. 12.17)
The general pattern follows very much the one of
primary production, which is of course not
surprising since primary production is closely
related to the available amount of benthic
organic matter. Despite all inaccuracies the regio-
nalization process made huge progress in terms
of global element balances. Jahnke (1996) cal-
culated a rate of global deep-sea consumption of
dissolved oxygen as high as 1.2⋅1014 moles yr-1.
Assuming that microorganisms have consumed
the oxygen completely in the course of Corg-
degradation and by applying the estimated burial
rates of Corg, a flux rate of particulate organic
carbon (POC) was estimated to be 3.3⋅1013 moles yr-1

in the deep-sea. This value is equivalent to 45%
of the POC-flux over the 1000 m depth horizon
(7.2⋅1013 moles C yr-1).

Using a somewhat different approach also
Seiter et al. (2005) calculated the global POC-flux
to the sea floor. In contrast to Jahnke (1996), the
diffusive benthic oxygen uptake (DOU) was
correlated with TOC and the oxygen concentration
in bottom waters. The significant effect of the
availability of oxygen for the decay of organic
matter becomes obvious when comparing a region
with oxygen-depleted bottom waters (~50-70
mmol m-3) with those of normal oxygen levels
(mostly close to saturation level; Fig. 12.18).
Whereas under oxygen-limited conditions highest
TOC contents correspond to lowest oxygen fluxes
(Fig. 12.18a, cf. Fig. 6.23), there are mostly no
differences between the two methods, if the
oxygen concentration is high (Figure 12.18b).
Based on a previous study of Cai and Reimers
(1995), modified multiple regression analysis was
performed for 11 benthic provinces, which repre-
sent different sedimentary and geochemical
regimes (cf. Section 6.5.2). The extrapolation of
the resulting, specific empirical fit functions led to
a global map of DOU (Fig. 12.19). A similar
transformation of DOU to the POC-flux like the
one described above results in an accumulation
flux of ~0.5 Gt Corg. yr-1. Slightly higher by a factor
of about 1.3, this number corresponds well with
the balance made by Jahnke (1996). However, the
method of investigating the POC-flux in the deep
sea applied by Seiter et al. (2005) offers a clear
advantage compared to estimates based on
sediment trap results. Certainly, the general distri-

Fig. 12.17  Distribution pattern of benthic oxygen consumption (redrawn after Jahnke 1996).
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Fig. 12.18 Relation between the benthic oxygen respiration, TOC and the oxygen concentration in bottom waters
(after Seiter et al. 2005). a) A significant influence of oxygen-depleted bottom water on the benthic respiration rates
and the TOC contents for water depths below 1000 m could be observed for the northeast Pacific region when O2
drops below 50–70 mmol m3. As to be expected, the highest TOC contents correspond to lowest concentration
values of bottom-water oxygen. Above 125 mmol m3, the organic carbon content decreases with increasing bottom
water oxygen concentration. b) If oxygen concentrations at the sediment-water interface are maintained by bottom
water mixing, there is no effect of this parameter on the overall benthic fluxes. Nevertheless, scattering of data
might result from the seasonal and interannual variations in bottom water oxygen content and the local variations
of the sedimentation rates of inorganic components, which are likely to dilute the input of organic carbon.

Fig. 12.19  Global distribution pattern of the diffusive oxygen uptake (DOU) at the sea floor (1º x 1º; >1000m water
depth; after Seiter et al. 2005).
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bution patterns are similar, but in detail significant
discrepancies exist, which likely arise from the
negligence of lateral transport processes.

12.5.3 Use of Numerical Models to
Investigate Benthic-Pelagic Coupling

The rapid development of field studies improving
our knowledge on benthic systems over the past
decade is strongly coupled to the growing under-
standing that benthic mineralization has a con-
siderable effect on total ocean geochemistry.
Since the regionalization approaches outlined
above are difficult to use in order to forecast how
and to which extent the benthic reflux of e.g.
dissolved carbon and nutrients will affect ocean
productivity or atmospheric CO2-levels, there are
increasing efforts to construct coupled models,
which are capable of predicting dynamic changes
of the environmental conditions. Up to now these

models are far more limited in their regional
resolution (mainly caused by their internal
complexity and required calculation time) than
data-based regionalization approaches. However,
towards a better understanding of the interaction
of global biogeochemical cycles coupled benthic-
pelagic models are of outstanding significance in
order to address many important themes as the
CO2 storage capacity of the ocean and marine
sediments and long-term productivity changes
and climate feedbacks. Since this is another vast
field of study we will only develop a brief over-
view with respect to the most important acquisi-
tions of the past few years.

Stand-alone numerical models to simulate
various diagenetic processes in marine sediments
have been referred to in various chapters of this
book (i.e. Van Cappellen and Wang 1996;
Boudreau 1996; Pfeifer et al. 2002; Luff and
Wallmann 2003). Some of these models have been

Fig. 12.20 Results of a steady-state simulation with a coupled model for ocean circulation, water chemistry and
sediment diagenesis. Major control parameters and forcings comprise a large-scale geostrophic flow field, primary
productivity controlled by nutrient advection, export production and sediment accumulation, as well as CO3

2- input by
weathering and CO2-exchange with the atmosphere. a) Corg. Export production (mol m-2 yr-1), b) CaCO3 export production
(both mol m-2 yr-1), c) wt% CaCO3, d) CaCO3 mass accumulation rate (g cm-2 kyr-1) (from Archer et al. 1998).
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tested with respect to their capability in order to
adequately respond to dynamic forcing by organic
matter supply (Soetaert et al. 1996), to calculate
the global benthic oxygen demand (Christensen
2000) or the complete oxic/anoxic cycle in a global
gridded domain in order to gain a better under-
standing of control parameters and kinetic rate
constants (Archer et al. 2002). Benthic models
coupled to the external forcing of more or less
complex pelagic models exist in great variety. In
general, the right balance between complexity and
calculation time has to be found. Soetaert et al.
(2000) tested various approaches of physical,
benthic-pelagic models with respect to oxygen,
carbon, and nutrient cycling and concluded that
at least dynamic sediment models without depth
integration are required to produce useful results.
In particular, the definition of source and sink
terms or the definition of imposed fluxes at the
sediment/water interface is inappropriate.
However, a certain number of models with a
layered benthic module exist that have been
tested in order to explore various overarching
themes related to global change.

The steady-state model output of a coupled
model simulating ocean circulation, biogeo-
chemically-controlled surface ocean productivity,
export of POC and CaCO3, and sediment
diagenesis is shown in Figure 12.20 (Archer et al.
1998). Without going into detail on the back-
ground of the study, this was chosen as an
arbitrary example in order to show some potentials
and limitations of these kind of approaches. The
general patterns of export production (a,b) and
sediment accumulation (c,d) follow very much the
known data distributions, so that we can conclude
a general agreement between observation and
model prediction. Overall, the graphs show that it
is possible to calculate parameter distributions of
different compartments representing a consistent
overall system. However, it is evident that the
spatial resolution of these model is very low and
regional characteristics can only be considered
and hence, investigated to a limited extent. Up to
now, the major advantage of these models is to
investigate long-term trends controlled by a
number of internal and external forcings.

As outlined in Chapter 6, phosphate is
strongly linked to ocean productivity and its
availability on geological time scales is largely
controlled by the oxidation state of sediments and
bottom water (Van Cappellen and Ingall 1994).
According to their model, global-scale events of

anoxia/dysoxia would lead to a more efficient
recycling of phosphorous and thus, to an
enhancement of ocean productivity and organic
carbon export. The increased POC accumulation,
in turn, would further cause the depletion of
oxygen in the bottom water and thus, further
enhance the recycling of phosphate at the
seafloor and lead into a positive feedback loop.
This, general mechanism could be proven by
Wallmann (2003) who invented a more sophis-
ticated model to simulate the marine cycles of
POC, oxygen, nitrate, and phosphorus. Two
additional aspects deserve to be mentioned in this
regard: (1) Significant enhancement of produc-
tivity requires sufficient supply of nitrate which
needs to be provided by N2-fixation. (2) Produc-
tivity of the glacial ocean could have been enhan-
ced by the falling sea level as the marine regres-
sion favors an increased POC export to the deep
ocean.

Heinze et al. (1999) developed a 10-layer sedi-
ment module coupled to a global-ocean circulation
model (GCM) specifically designed to study the
interactions of Si and C cycles and capable to
handle important processes like the ocean-
atmosphere exchange of CO2, biogenic particle
export production, as well as sediment accumu-
lation and pore water geochemistry. The central
outcome of the study is that one critical and very
sensitive parameter in order to obtain reasonable
fits to various geochemical data in ocean, atmo-
sphere and sediment is the export production of
POC and the corresponding rain ratio (Si/CCaCO3/
CCorg). This is basically the same problem, which
complicates the prediction of benthic minerali-
zation processes by empirically derived export
functions (see above). Another very important
factor is the solubility of opal and thus, the
release of silicic acid from the sediments. A simple
test of halving or doubling the solubility in the
pore water leads to a significant increase or
decrease of atmospheric pCO2-levels (by either
enhancing or outcompeting CaCO3 production).
This emphasizes the inherent coupling of Si and
C cycles and the capability of coupled models to
produce predictions, which would be possible to
deduce from isolated analyses of the specific
environmental compartments. The strong poten-
tial of drawing down atmospheric pCO2-levels by
significantly increasing Si-concentrations in the
ocean could be approved by subsequent studies
(Archer et al. 2000; Ridgwell 2002). Additionally, a
higher turnover rate of Si in the ocean (Heinze et

12.5 Applications



12 Quantification and Regionalization of Benthic Reflux

452

al. 2003; see Section 12.3.3) might support this
idea. However, if glacial/interglacial pCO2-
fluctuations can really be ascribed to the Si-
turnover remains questionable since the major
unresolved factor in the jigsaw is the potential
driving force behind the required perturbations of
the Si input to the system. In this regard, the
implementation of new perceptions concerning Si-
dissolution and control parameters needs to be
tackled by future generations of coupled models.

12.6 Concluding Remarks

The examples on regionalization of benthic fluxes
have emphasized the value of such studies for
solving a variety of problems related to establi-
shing global element balances of the ocean. They
have also shown that 1) many aspects related to
the selection and compilation of the database
need to be taken into account prior to the
performance regional studies, and 2) that the
interpretation of distribution patterns requires the
knowledge of regional oceanographic and
geochemical conditions (e.g. sediment compo-
sition). Beyond this, regionalization can be used
as a very useful tool to prove the plausibility of
prevailing concepts on global biogeochemical
cycles, which are investigated with complex
coupled ocean models. Thus, hypotheses on
trans-regional to global biogeochemical inter-
actions can be verified. More and more attention
is given to the creation and maintenance of data-
bases in order to gather as many results as pos-
sible obtained from many successful, national and
international research programs. Apart from the
balance of essential single components, and as
follows from the current publications on the
distribution of primary production, it is the
characterization of the benthic biogeochemical
provinces that can be now formulated as the main
objective. The enormous quantities of the single
benthic flux estimates selected in Table 12.2 may

give a concluding impression of the great impor-
tance of benthic processes and flux rates within
the ocean cycles.
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12.7 Problems

Problem 1

Use the simple model approach from Figure 12.12
and the general values given (δ = 85%,
ϕ = 2,5 g cm-3, τ½ = 500 yr) to calculate the degree
of organic carbon preservation when accumu-
lation rates are 1 and 0,1 (mg cm-2 yr-1) for NRP
and Corg., respectively, and a reactive mixed layer
of 10 cm thickness. Please consider that the
degradation of organic matter has an effect on the
sedimentation rate (ω).

Problem 2

What is the main reason that rain rate measu-
rements with sediment traps should not be used to
estimate benthic biogeochemical processes and
especially their distribution patterns?

Problem 3

Why any regionalization with the kriging method
without previous application of variogram analy-
sis is – strictly speaking – inadmissible?

Problem 4

Discuss advantages and disadvantages of esti-
mating benthic fluxes by large-scale numerical
models.



453

References

Akin, H. and Siemes, H., (eds), 1988. Praktische
Geostatistik – Eine Einführung für den Bergbau und
die Geowissenschaften.- Springer Verlag, Berlin,
Heidelberg, pp. 304.

Antia, N.A., Koeve, W., Fischer, G., Blanz, T., Schulz-
Bull, D., Scholten, J., Neuer, S., Kremling, K., Kuss,
J., Peinert, R., Hebbeln, D., Bathmann, U., Conte,
M., Fehner, U. and Zeitschel, B., 2001. Basin-wide
particulate carbon flux in Atlantic Ocean: Regional
export patterns and potential for atmospheric CO2
sequestration.- Global Biogeochemical Cycles, 15,
845-862.

Antoine, D. André, J.-M. and Morel, A., 1996. Oceanic
primary production - 2. Estimation at global scale from
satellite (coastal zone color scanner) chlorophyll.-
Global Biogeochemical Cycles, 10(1), 57-69.

Archer, D.E. and Devol, A., 1992. Benthic oxygen fluxes
on the Washington shelf and slope: a comparison of in
situ microelectrode and chamber flux measurements.-
Limnology and Oceanography, 37, 614-629.

Archer, D., Lyle, M., Rogers, K. and Froelich, P., 1993.
What controls opal preservation in tropical deep-sea
sediments?- Paleoceanography, 8, 7-21.

Archer, D., Kheshgi, H. and Maier-Reimer, E., 1998.
Dynamics of fossil fuel CO2 neutralization by marine
CaCO3. Global Biogeochemical Cycles, 12, 259-276.

Archer, D., Winguth, A., Lea, D. and Mahowald, N., 2000.
What caused the glacial/interglacial atmospheric pCO2
cycles? Rev. Geophys., 38, 159-189.

Archer, D.E., Morford, J.L. and Emerson, S.R., 2002. A
model of suboxic sedimentary diagenesis suitable for
automatic tuning and gridded global domain.- Global
Biogeochemical Cycles, 16, 1017, 10.1029/
2000GB001288

Aspetsberger, F., Zabel, M., Ferdelman, T., Struck, U.,
Mackensen, A., Ahke, A. and Witte, U., subm. a.
Instantaneous benthic response to varying organic matter
quality: In situ experiments in the Benguela Upwelling
System.- subm. to Limnology and Oceanography.

Aspetsberger, F., Zabel, M., Ferdelman, T., Ahke, A. and
Witte, U., subm. b. Microbial response to changing
organic matter quality: bacterial productivity and
results from medium-term labeling experiments.-
subm. to Biogeosciences.

Behrenfeld, M.J. and Falkowski, P.G., 1997. Photosynthetic
rates derived from satellite-based chlorophyll concen-
tration.- Limnology and Oceanography, 42, 1-20.

Berger, W.H., Smetacek, V. and Wefer, G., 1989. Ocean
productivity and paleoproductivity - an overview.-
In: Berger, W.H., Smetacek, V. and Wefer, G. (eds.)
Productivity of the ocean: present and past.- Dahlem
Konferenzen, John Wiley, Chichester, 1-34.

Bidle, K.D. and Azam, F., 1999. Accelerated dissolution
of diatom silica by natural marine bacterial
assemblages.- Nature, 397, 508-512.

Bidle, K.D. and Azam, F., 2001. Bacterial control of
silicon regeneration from diatom detritus:
Significance of bacterial ectohydrolases and species
identity.- Limnology and Oceanography, 46, 1606-
1623.

Bidle, K.D., Manganelli, M. and Azam, F., 2002.
Regulation of oceanic silicon and carbon preservation
by temperature control on bacterial activity.-
Science, 298, 1980-1984.

Bidle, K.D., Brzezinski, M.A., Long, R.A., Jones, J.L. and
Azam, F., 2003. Diminished efficiency in the oceanic
pump caused by bacteria-mediated silica dissolution.-
Limnology and Oceanography, 48, 1855-1868.

Bishop, J.K.B., 1989. Regional extremes in particulate
matter composition and flux: Effects on the
Chemistry of the ocean interior.- In: Berger, W.H.,
Smetacek, V. and Wefer, G. (eds.) Productivity of the
ocean: present and past.- Dahlem Konferenzen, John
Wiley, Chichester, 117-137.

Boudreau, B.P., 1996. A method-of-lines-code for carbon
and nutrient diagenesis in aquatic sediments.-
Computers and Geosciences, 22, 479-496.

Bühring, S., Moodley, L., Lampadariou, N., Tselepides, A. and
Witte, U., 2005. Microbial response patterns modified
by food availability: in situ pulse chase experiments in
the deep Cretan Sea (Eastern Mediterranean).-
Limnology and Oceanography, in press.

Cai, W.J. and Reimers, C.E., 1995. Benthic oxygen flux,
bottom water oxygen concentration and core top
organic carbon content in the deep northeast Pacific
Ocean.- Deep-Sea Research I, 42, 1681-1699.

Chester, R.C., 2000. Marine Geochemistry.- Blackwell
Science Ltd, Oxford, 2nd ed., pp. 506.

Christensen, J. P., 2000. A relationship between deep-sea
benthic oxygen demand and oceanic primary produc-
tivity. Oceanologica Acta, 23, 65-82.

Davis, J.C. (ed.) 1986. Statistics and data analysis in
geology.- Wiley & Sons, NY, 2nd ed., pp. 646.

Dauwe, B. and Middelburg, J.J., 1998. Amino acids and
hexosamines as indicators of organic matter
degradation state in North Sea sediments.- Limnology
and Oceanography, 43, 782-798.

Dauwe, B., Middelburg, J.J., Hershey, A.E. and Heip,
C.H.R., 1999. Linking diagenetic alteration of amino
acids and bulk organic matter reactivity.- Limnology
and Oceanography, 44, 1809-1814.

de Baar, H.J.W. and Suess, E., 1993. Ocean carbon cycle
and climate change - An introduction to the
interdisciplinary Union Symposium.- Global and
Planetary Change, 8, VII-XI.

Dixit, S., Van Cappellen, P. and Van Bennekom, A.J.,
2001. Processes controlling solubility of biogenic
silica and pore water build-up of silicic acid in marine
sediments.- Marine Chemistry, 73, 333-352.

Dixit, S. and Van Cappellen, P., 2002. Surface chemistry
and reactivity of biogenic silica.- Geochimica et
Cosmochimica Acta, 66, 2559-2568.

Dixit, S. and Van Cappellen, P., 2003. Predicting benthic
fluxes of silicic acid from deep-sea sediments.-
Journal of Geophysical Research, 18, C10, 3334,
10.1029/2002JC001309.

Glud, R.N., Gundersen, J.K., Jørgensen, B.B., Revsbech,
N.P. and Schulz, H.D., 1994. Diffusive and total
uptake of deep-sea sediments in the eastern South
Atlantic Ocean: in situ and laboratory measure-
ments.- Deep-Sea Research, 41, 1767-1788.

References



12 Quantification and Regionalization of Benthic Reflux

454

Englund, E. and Sparks, A., 1991. GEO-EAS 1.2.1 -
Geostatistical environmental assessment software -
User´s guide.- US-EPA Report #600/8-91/008, EPA-
EMSL, Las Vegas, Nevada.

Hales, B. and Emerson, S., 1997. Calcite dissolution in
sediments of the Ceara Rise: in situ measurements of
pore water O2, pH, and CO2(aq).- Geochimica et
Cosmochimica Acta, 61, 501-514.

Harper, M.P., Davison, W. and Tych, W., 1999. One
dimensional views of three dimensional sediments.-
Environmental Science & Technology, 33, 2611-
2616.

Heinze, C., Maier-Reimer, E., Winguth, A.M.E. and
Archer, D., 1999. A global oceanic sediment model
for long-term climate studies.- Global Biogeochemical
Cycles, 13, 221-250.

Heinze, C., Hupe, A., Maier-Reimer, E., Dittert, N. and
Ragueneau, O., 2003. Sensitivity of the marine
biospheric Si cycle for biogeochemical parameter
variations.- Global Biogeochemical Cycles, 17, 1086,
doi:10.1029/2002GB001943.

Hensen, C., Landenberger, H., Zabel, M. and Schulz, H.D.,
1998. Quantification of diffusive benthic fluxes of
nitrate, phosphate and silicate in the Southern Atlantic
Ocean.- Global Biogeochemical Cycles, 12, 193-210.

Hensen, C., Zabel, M. and Schulz, H.D., 2000. A
comparison of benthic nutrient fluxes from deep-sea
sediments off Namibia and Argentina.- Deep-Sea
Research II, 47, 2029-2050.

Holstein, J.M. and Hensen, C., subm. Microbial control of
benthic biogenic silica dissolution.- subm. to Marine
Geology.

Inthorn, M., Mohrholz, V. and Zabel, M., subm. a.
Nepheloid layer distribution in the Benguela upwelling
area offshore Namibia.- subm. to Deep Sea Research
I.

Inthorn, M., Wagner, T., Scheeder, G. and Zabel, M.,
subm. b. Lateral transport controls distribution,
quality and burial of organic matter along continental
slopes in high-productivity areas.- subm. to Geology.

Jahnke, R.A., Heggie, D., Emerson, S.R. and Grundmanis,
V., 1982. Pore waters of the Central Pacific Ocean:
Nurient results.- Earth Planetary Science Letters, 61,
233-256.

Jahnke, R.A., 1985. A model of microenvironments in
deep-sea sediments: Formation and effects on
porewater profiles.- Limnology and Oceanography,
30, 956-965.

Jahnke, R.A., Reimers, C.E. and Craven, D.B., 1990.
Intensification of recycling of organic matter at the
sea floor near ocean margins.- Nature, 348, 50-54.

Jahnke, R.A., 1996. The global ocean flux of particulate
organic carbon: Areal distribution and magnitude.-
Global Biogeochemical Cycles, 10, 71-88.

Jahnke, R.A., 2001. Constraining organic matter cycling
with benthic fluxes.- In: Boudreau, B.P. & Jørgensen
B.B. (eds.) The benthic boundary layer.- Oxford Univ.
Press, 302-319.

Jørgensen, B.B., 1977. Bacterial sulfate reduction within
reduced microniches of oxidized marine sediments.-
Mar. Biol., 41, 7-17.

Journel, A.G. and Huijbregts, C., (eds.) 1978. Mining
Geostatistics.- Academic press, London, pp. 600.

Krige, D.G., 1951. A statistical approach to some basic
mine valuation problems on the Witwatersrand.-
Journal Chem. Metall. Min. Soc. South Africa, 52,
119-139.

Lampitt, R.S., 1996. Snow falls in the open ocean.- In:
Summerhayes, C.P. & Thorpe, S.A. (eds.)
Oceanography - An illustrated guide.- Manson Publ.,
Southampton Oceanogr. Centre, 96-112.

Ledbetter, M.T. and Klaus, A., 1987. Influence of bottom
currents on sediment texture and sea-floor
morphology in the Argentine Basin.- In: Weaver,
P.P.E. & Thomson, J. (eds.) Geology and Geoche-
mistry of abyssal plains, Geological Society Special
Publications, 31, 23-31.

Longhurst, A., Sathyendranath, S., Platt, T. and
Caverhill, C., 1995. An estimate of global primary
production in the ocean from satellite radiometer
data.- Journal of Plankton Research, 17, 1245-1271.

Luff, R. and Wallmann, K., 2003. Fluid flow, methane
fluxes, carbonate precipitation and biogeochemical
turnover in gas hydrate-bearing sediments at Hydrate
Ridge, Cascadia Margin: Numerical modeling and mass
balances.- Geochimica et Cosmochimica Acta, 67,
3403–3421.

Matheron, G., 1963. Principles of geostatistics.-
Economic Geology, 58, 1246-1266.

Nelson, D.M., Tréguer, P., Brzezinski, M.A., Leynaert,
A. and Québuiner, B., 1995. Production and
dissolution of biogenic silica in the ocean: Revised
global estimates, comparison with regional data and
relationship to benthic sedimentation.- Global
Biogeochemical Cycles, 9, 359-372.

Pannatier, Y., 1996. VARIOWIN: Software for spatial
data analysis in 2D.- in Statistics and Computing, 91
S., Springer Verlag, Berlin, Heidelberg, NY.

Pace, M.L., Knauer, G.A., Karl, D.M. and Martin J.H.,
1987. Primary production, new production and
vertical flux in the eastern Pacific.- Nature, 325,
803-804.

Pfeifer, K., Hensen, C., Adler, M., Wenzhöfer, F., Weber,
B. and Schulz, H.D., 2002. Modeling of subsurface
calcite dissolution, including the respiration and
reoxidation processes of marine sediments in the
region of equatorial upwelling off Gabon.-
Geochimica et Cosmochimica Acta, 66, 4247-4259.

Reimers, C.E., 1987. An in-situ microprofiling
instrument for measuring interfacial pore water
gradients: methods and oxygen profiles from the
north Pacific Ocean.- Deep-Sea Research, 34, 2019-
2035.

Reimers, C.E., Jahnke, R.A. and McCorkle, D.C., 1992.
Carbon fluxes and burial rates over the central slope
and rise off central California with implications for
the global carbon cycle.- Global Biogeochemical
Cycles, 6, 199-224.

Reimers, C.E., Jahnke R.A., and Thomsen, L., 2001. In
situ sampling in the benthic boundary layer.- In:
Boudreau, B.P. & Jørgensen, B.B. (eds.) The benthic
boundary layer.- Oxford Univ. Press, 245-268.

Ridgwell, A.J., Watson, A.J. and Archer, D.E., 2002.



455

Modeling the response of the oceanic Si inventory to
perturbation and consequences for atmospheric CO2.-
Global Biogeochemical Cycles, 16, 1071,
doi:10.1029/2002GB001877.

Rowe, G.T., Boland, G.S., Phoel, W.C., Anderson, R.F. and
Biscaye, P.E., 1994. Deep-sea floor respiration as an
indication of lateral input of biogenic detritus from
continental margins.- Deep-Sea Research I, 41, 657-
668.

Sathyendranath, S., Longhurst, A., Caverhill, C.M. and
Platt, T., 1995. Regionally and seasonally
differentiated primary production in the North
Atlantic.- Deep-Sea Research I, 42, 1773-1802.

Sauter, E.J., Schlüter, M. and Suess, E., 2001. Organic
carbon flux and remineralization in surface sediments
from the northern North Atlantic derived from pore-
water oxygen microprofiles.- Deep-Sea Research I,
48, 529-553.

Sayles, F.L., Martin, W.R. and Deuser, W.G., 1994.
Response of benthic oxygen demand to particulate
organic carbon supply in the deep sea near Bermuda.-
Nature, 371, 686-689.

Sayles, F.L. and Martin, W.R., 1995. In situ tracer studies
of solute transport across the sediment-water
interface at the Bermuda Time Series site.- Deep-Sea
Research I, 42, 31-52.

Sayles, F.L., Deuser, W.G., Goudreau, J.E., Dickinson,
W.H., Jickells, T.D. and King, P., 1996. The benthic
cycle of biogenic opal at the Bermuda Atlantic Time
Series site.- Deep-Sea Research I, 43, 383-409.

Schlüter, M. (ed.) 1996. Einführung in geostatistische
Verfahren und deren Programmierung.- Enke Verlag,
Stuttgart, pp. 326.

Schlüter, M., Rutgers van der Loeff, M.M., Holby, O. and
Kuhn, G., 1998. Silica cycles in surface sediments of
the South Atlantic.- Deep-Sea Research I, 45, 1085-
1109.

Schlüter, M., Sauter, E.J., Schäfer, A. and Ritzau W.,
2000. Spatial budget of organic carbon flux to the
seafloor of the northern North Atlantic (60N–80N).-
Global Biogeochemical Cycles, 14, 329-340.

Schubert, C.J., Niggemann, J., Klockgether, G. and
Ferdelman, T.G., 2005. Chlorin Index: A new
parameter for organic matter freshness in sediments.-
Geochemistry Geophysics Geosystems 6, Art. No.
Q03005 MAR 8.

Seiter, K., Hensen, C., Schröter, J and Zabel, M., 2004.
Organic carbon content in surface sediments –
defining regional provinces. Deep-Sea Research I, 51,
2001-2026.

Seiter, K., Hensen, C. and Zabel, M., 2005. Benthic
carbon mineralization on a global scale.- Global
Biogeochemical Cycles, 19, GB1010, doi:10.1029/
2004GB002225.

Seiter, K., Holstein, J.M., Hensen, C. and Zabel, M., subm.
The benthic silica release and its implication for the
estimation of the non-lithogenic particle fluxes to the
sea floor.- in review at GeoMarine Letters.

Smith, K.L.jr., Baldwin, R.J. and Williams, P.M., 1992.
Reconciling particulate organic carbon flux and
sediment community oxygen consumption in the

deep North Pacific.- Nature, 359, 313-316.
Soetaert, K., Herman, P.M.J. and Middelburg, J.J., 1996.

Dynamic response of deep-sea sediments to seasonal
variations: A model.- Limnology and Oceanography,
41, 1651-1668.

Soetaert, K., Middelburg, J.J., Herman, P.M.J. and Buis,
K., 2000. On the coupling of benthic and pelagic
biogeochemical models.- Earth-Science Reviews, 51,
173-201.

Suess, E., 1980. Particulate organic carbon flux in the
oceans: Surface productivity and oxygen utilization.-
Nature, 288, 260-263.

Tréguer, P., Nelson, D.M., van Bennekom, A.J.,
DeMaster, D.J., Leynaert, A. and Quéguiner, B.,
1995. The silica balance in the world ocean: A re-
estimate.- Science, 268, 375-379.

Van Bennekom, A.J., Buma, A.G.J. and Nolting, R.F.,
1991. Dissolved aluminium in the Weddell-Scotia
Confluence effect of Al on the dissolution kinetics of
biogenic silica.- Marine Chemistry, 35, 423-434.

Van Cappellen, P. and Ingall, E.D., 1994. Benthic
phosphorus regeneration, net primary production,
and ocean anoxia: A model of the coupled marine
biogeochemical cycles of carbon and phosphorus.-
Paleoceanography, 9, 677-692.

Van Cappellen, P. and Wang, Y., 1996. Cycling of Iron and
Manganese in Surface Sediments: A General Theory for
the Coupled Transport and Reaction of Carbon,
Oxygen, Nitrogen, Sulfur, Iron, and Manganese.-
American Journal of Science, 296, 197-243.

Van Cappellen, P. and Qui, L., 1997. Biogenic silica
dissolution in sediments of the Southern Ocean. I.
Solubility.- Deep-Sea Research II, 44, 1109-1128.

Van Cappellen, P., Dixit, S. and Van Beusekom, J., 2002.
Biogenic silica dissolution in the oceans: Reconciling
experimental and field-based dissolution rates.- Global
Biogeochemical Cycles, 16, 23 NO. 4, 1075,
doi:10.1029/2001GB001431.

Wackernagel, H. (ed.) 1996. Multivariate Geostatistics.-
Springer Verlag, Berlin, Heidelberg, NY, pp. 256.

Wallmann, K., 2003. Feedbacks between oceanic redox
states and marine productivity: A model perspective
focused on benthic phosphorus cycling.- Gobal
Biogeochemical Cycles, 17, NO. 3, 1084,
doi:10.1029/2002GB001968.

Walsh, J.J., 1991. Importance of continental margins in
the marine biogeochemical cycling of carbon and
nitrogen.- Nature, 350, 53-55.

Weber, A, Riess, W., Wenzhöfer, F and Jørgensen, B.B.,
2001. Sulfate reduction in Black Sea sediments: in situ
and laboratory radiotracer measurements from the
shelf to 2000m depth.- Deep-Sea Research I, 48,
2073-2096.

Wefer, G. and Fischer, G., 1993. Seasonal pattern of
vertical particle flux in the equatorial and coastal
upwelling areas of the eastern Atlantic.- Deep-Sea
Research I, 40, 1613-1645.

Wenzhöfer, F. and Glud, R.N., 2002. Benthic carbon
mineralization in the Atlantic: a synthesis based on in
situ data from the last decade.- Deep-Sea Research I,
49, 1255-1279.

References



12 Quantification and Regionalization of Benthic Reflux

456

Witte, U., Aberle, N., Wenzhöfer F., 2003a. Rapid
response of a deep-sea benthic community to POM
enrichmen: an in situ experimental study.- Marine
Ecology Progress Series, 251, 27-36.

Witte, U., Wenzhöfer, F., Sommer, S., Boetius, A., Heinz,
P., Aberle, N., Sand, M., Cremer, A., Abraham, W.-R.,
Jørgensen, B.B. and Pfannkuche, O., 2003b. In situ
experimental evidence of the fate of a phytodetritus
pulse at the abyssal sea floor.- Nature, 424, 763-766.

Wollast, R. and Mackenzie, F.T., 1983. The global cycle
of silica.- In: Aston, S.R. (ed.) Silicon Geochemistry
and Biogeochemistry, Academic Press, London, 39-
76 .

Zabel, M., Dahmke, A. and Schulz, H.D., 1998. Regional
distribution of diffusive phosphate and silicate fluxes
through the sediment water interface - The eastern
South Atlantic.- Deep-Sea Research I, 45, 277-300.



457

13 Input from the Deep:
Hot Vents and Cold Seeps
PETER M. HERZIG AND MARK D. HANNINGTON

The discovery of black smokers, massive sulfides
and vent biota at the crest of the East Pacific Rise
at 21°N in 1979 (Francheteau et al. 1979; Spiess et
al. 1980) confirmed that the formation of new
oceanic crust through seafloor spreading is inti-
mately associated with hydrothermal venting and
the formation of metallic mineral deposits at the
seafloor. The 350°C hydrothermal fluids dischar-
ging from the black smoker chimneys at this site at
a water depth of about 2,600 m continuously
precipitate metal sulfides in response to mixing of
the high-temperature hydrothermal fluids with
ambient seawater. Seawater which penetrates
deeply into the oceanic crust at seafloor
spreading centers is being converted to a
hydrothermal fluid with low pH, low Eh, and high
temperature during water-rock interaction above a
high-level magma chamber. This fluid is capable of
leaching large amounts of metals and other
elements from the rocks. Metal sulfides, including
pyrite, sphalerite, and chalcopyrite which are
precipitated from the hydrothermal fluids,
gradually accumulate at and just below the
seafloor where they can form large sulfide
deposits. The TAG hydrothermal mound at the
Mid-Atlantic Ridge at 26°N, for example, has a
diameter of about 200 m and a height above
seafloor of about 50 m.  Drilling during Leg 158 of
the Ocean Drilling Program indicated that the
deposit contains 2.7 Mt of massive sulfide,
containing 2 wt.% Cu, and 1.2 Mt of stockwork
mineralization extending 125 m below the seafloor
and containing 1 wt.% Cu (Hannington et al.
1998). The deposit is capped by a large black
smoker complex with as many as 100 black smoker
vents at a temperature of more than 360°C.

Seafloor hydrothermal activity at mid-ocean
ridges and back-arc spreading centers has a major
impact on the chemistry of the oceans (Edmond et
al. 1979a, 1982) and has been responsible for

extensive alteration of modern and ancient
oceanic crust (Alt 1995). It has been estimated
that 25-30% of the earth´s total heat flux is
transfered from the lithosphere to the hydro-
sphere by the circulation of seawater through
oceanic spreading centers (Lowell 1991; Stein and
Stein 1994). Early estimates of the total discharge
of hydrothermal vents at oceanic ridges based on
heat flow data were on the order of 5x106 L/s. More
recent estimates based on geochemical mass
balances and geophysical measurements are of
the same order of magnitude (Elderfield and
Schultz 1996).  The calculated fluxes require that
the entire volume of the world’s oceans is
circulated through thermally active seafloor rift
zones every 5-11 Ma (Wolery and Sleep 1976;
Morton and Sleep 1985). If convective heat flux
from the flanks of the ridges is included in this
calculation, the cycling time for the world’s
oceans through the ridges is less than 1 million
years. Neglecting any component of diffuse flow,
the estimated flux of high-temperature fluids
would require at least one black smoker with a
mass flux of approxi-mately 1 kg/s and an
estimated power of 1.5 megawatts (Converse et al.
1984) for every 50 meters of ridge crest (55,000 km
in total). Off-axis diffuse flow accounts for as
much as 70-80% of the total heat loss at oceanic
ridges (Wheat and Mottl 1994; Stein and Stein
1994) and thus represents an important
component of seafloor hydrothermal activity,
although the actual chemical fluxes through the
ridge flanks have not yet been documented.
According to Wheat and Mottl (1994) and Ginster
et al. (1994), up to 90% of the heat in the axial rift
zones may be removed as a result of diffuse
discharge resulting from subseafloor mixing of
high-temperature hydro-thermal fluids with cold
seawater. Although the discharge of hydrothermal
fluids through ridge-crests is small by comparison
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Fig. 13.1 Distribution of sea-floor hydrothermal vents and related mineral deposits.  Numbers refer to high-
temperature hydrothermal vents and related polymetallic sulfide deposits (closed circles).  Other hydrothermal
deposits and low-temperature vent sites, including Fe-Mn crusts and metalliferous sediments, are indicated by open
circles (from Hannington et al., 2005).  Major spreading ridges and subduction zones are indicated.
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tem peratu re : 2°C → >  400° C m agm a c ham ber  (1200°C )

pH (ac id ity ) : 7 .8 → <  4 H 2O →  OH- +  H +

2OH - +  M g 2+ →  M g(OH) 2

(>  350°C :  C a  ins tead  o f  M g)

M g(OH) 2 f ixed  in
sm ec tite  (< 200°C )
c h lo r ite  (> 200°C )

exc ess H + =  pH dec rease

E H ( redox sta te ) : + → - F e 2+ →  F e 3+ ( in  basa lt)

seawate r  S O 4
2- →  S 2-  (H 2S )

a t >  250°C

note : a  s ign if ic an t am ount o f  the
reduc ed  S 2 - in  the  hy dro therm a l
f lu id  resu lts  fr om  leac h ing  o f
su lf ide  inc lus ions  in  the  basa lt

Table 13. 1 Conversion of seawater to a hydrothermal fluid through water/rock interaction above a high-level magma chamber.

with the fluxes from rivers, seafloor hydrothermal
systems have a large impact on the geochemical
budgets of certain elements in the oceans that are
highly concentrated in vent fluids (Elderfield and
Schultz 1996).

This chapter examines a variety of seafloor
hydrothermal systems, which are dominated by
high-temperature black- and white smoker
discharge (250-400°C) and the formation of
polymetallic massive sulfide deposits. These
systems are currently far better known than the
widespread diffuse low-temperature discharge on
the ridge flanks. However, the significance of
diffuse discharge indicates that the chemical
fluxes to the ocean cannot be simply calculated
from the composition and venting rates of high-
temperature hydrothermal fluids at the ridge crests
(cf., Alt 1995).

The history of discovery of seafloor hydro-
thermal systems has been reviewed by Rona
(1988) and Rona and Scott (1993). After the initial
discovery of hot metalliferous brines in the Red
Sea (Miller et al. 1966), low-temperature venting
and associated biological communities were
located at the Galapagos hot springs (Corliss et al.
1979) and, eventually, the first black smokers and
polymetallic sulfide deposits were found on the
East Pacific Rise at 21°N (Francheteau et al. 1979;
Spiess et al. 1980). This initiated an intensive
investigation of the mid-ocean ridge systems in
the Pacific, Atlantic and Indian Ocean, which

resulted in the deleniation of numerous new sites
of hydrothermal activity. In 1986, the first inactive
hydrothermal sites were found at the active back-
arc spreading center of the Manus Basin in the
Southwest Pacific (Both et al. 1986). Subsequently,
active hydrothermal systems and associated sulfide
deposits were reported from the Marianas back-arc
(Craig et al. 1987; Kastner et al. 1987), the North Fiji
back-arc (Auzende et al. 1989), the Okinawa Trough
(Halbach et al. 1989), and the Lau back-arc
(Fouquet et al. 1991). Today, more than 100 sites of
high-temperature hydrothermal venting and related
mineral deposits are known on the modern seafloor
(Fig. 13.1; Hannington et al. 2005).  The history of
discovery of these deposits is given in reviews by
Rona (1988) and Rona and Scott (1993).

13.1 Hydrothermal Convection and
Generation of Hydrothermal
Fluids at Mid-Ocean Ridges

At mid-ocean ridges, seawater penetrates deeply
into layers 2 and 3 of the newly formed oceanic
crust along cracks and fissures, which form in
response to thermal contraction and seismic events
in zones of active seafloor spreading (Fig. 13.2).
The seawater circulating through the oceanic
crust at seafloor spreading centers is converted
into a metal-bearing hydrothermal fluid in a

13.1 Hydrothermal Convection and Generation of Hydrohermal Fluids at Mid-Ocean Ridges
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reaction zone situated close to the top of the
subaxial magma chamber. The major physical and
chemical changes to the seawater include increa-
sing temperature, decreasing pH, and decreasing
EH (Table 13.1).

Temperatures higher than 400°C are reached
as seawater is circulated close to the frozen top
of the subaxial magma chamber (Cann and Strens
1982; Lowell et al. 1995). High-resolution seismic
reflection studies have indicated that some of
these magma reservoirs may occur only 1.5-3.5
km below the seafloor (Detrick et al. 1987; Collier
and Sinha 1990, 1992; Fig. 13.3). The heat from
the magma chamber drives the hydrothermal
convection system and gives rise to black
smokers at the seafloor. The crustal residence
time of seawater in the convection system has
been constrained to be 3 years or less (Kadko
and Moore, 1988). Data from water/rock inter-
action experiments indicate that, with increasing
temperatures, the Mg2+ dissolved in seawater
(ca. 1280 ppm or 52 mmol/kg) combines with OH-
groups (which originate from the dissociation of
seawater at higher temperatures) to form
Mg(OH)2. The Mg2+ is incorporated in secondary
minerals such as smectite (<200°C)  and chlorite

(>200°C) (Hajash 1975; Seyfried and Mottl 1982;
Seyfried et al. 1988; Alt 1995). The removal of
OH-groups by Mg(OH)2 creates an excess of H+

ions and is the principal acid-generating reaction
responsible for the drop in pH from seawater
values (pH 7.8 at 2°C) to values as low as pH 3
(lower pH values are observed in some back-arc
settings where magmatic gases are present in the
hydrothermal fluids: e.g., Fouquet et al. 1993a).
Further exchange of H+ for Ca2+ and K+ in the
rock, releases these elements into the hydrother-
mal fluid and initially balances the removal of
Mg2+ from seawater. However, at the high
temperatures in the reaction zone, the formation
of epidote (Ca fixation) contributes further to the
acidity of the hydrothermal fluid. These reactions
take place at water/rock ratios of less than five
and commonly close to one (Von Damm 1995). In
most cases, the removal of Mg2+ from seawater is
quantitative. Therefore, the concentrations of
major elements in mixtures of seawater and
hydrothermal fluid can be extrapolated back to a
common high-temperature “end-member” along
mixing lines projected to Mg = 0 (see below).
Seawater sulfate (SO4

2-) also is removed, mainly
by precipitation of anhydrite and partly by

Fig. 13.2 Model showing a seawater hydrothermal convection system above a subaxial magma chamber at an
oceanic spreading center. Radius of a typical convection cell is about 3-5 km. Depth of the magma chamber usually
varies between 1.5 and 3.5 km (see text for details).
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reduction to H2S. Although reduction of seawater
SO4

2- contributes some H2S to the hydrothermal
fluid, but most of the reduced S is derived from
the rock. The fluids become strongly reduced by
reaction of igneous pyrrhotite to secondary
pyrite and oxidation of Fe2+ to Fe3+ in the basalt
(Alt 1995).

This highly corrosive fluid is now capable of
leaching elements such as Li, K, Rb, Ca, Ba, the
transition metals Fe, Mn, Cu, Zn, together with
Au, Ag and some Si from the oceanic crust (Mottl
1983; Table 13.2). Metals and S are leached mainly
from immiscible sulfide droplets trapped in the
crystallized magma (e.g., Keays 1987; Shanks
2001). The metals are transported as chloride
complexes at high temperatures and, in some
cases, as bisulfide complexes (in particular Au) at
lower temperatures.

Due to its buoyancy at high temperatures, the
hydrothermal fluid rises rapidly from the deep-
seated reaction zone to the seafloor along major
faults and fractures within the rift valley or close
to the flanks of the rift. In particular the inter-
sections of faults running parallel and perpen-
dicular to the ridge axis are the loci of high-
velocity discharge, black smokers and massive
sulfide mounds. The sulfide precipitation within

the upflow zone (stockwork) and at the seafloor
(massive sulfides) is mainly a consequence of
mixing of high-temperature (ca. 350°C), metal-rich
hydrothermal fluids with cold (about 2°C),
oxygen-bearing seawater.

Temperature Basalt Seawater /
Hydrothermal Fluid

< 150°C K, Rb, Li, ←
B, 18O

> 70°C Mg ←

> 350°C Ca ←

>> 150°C → Fe, Mn, Zn, Cu, Ba,
Si, Ca, Rb, Li, K, B,

H+, 18O, S

all T H2O, CO2, ←
Na

3.5 km

Seafloor

Magma Chamber

Fig. 13.3 Seismic profile showing the top of a high-level magma chamber at a depth of 3.5 km below the seafloor at
a spreading center in the southwest Pacific (after Collier and Sinha 1992; provided by M.C. Sinha).

Table 13.2 Temperature dependence of water/rock in-
teraction in the oceanic crust.

13.1 Hydrothermal Convection and Generation of Hydrohermal Fluids at Mid-Ocean Ridges
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13.2 Onset of Hydrothermal Activity

In order for high-temperature hydrothermal fluids
to discharge, they must first displace a large
volume of cold seawater that occupies fractures
and pore spaces within the permeable upper crust.
The initial flushing of the system may be very
rapid, especially on medium- and fast-spreading
ridges that are undergoing extension at rates of
tens of centimeters per year. Where there are
frequent intrusions of magma close to the seafloor
and fissure-fed eruptions along the axial rift,
seafloor hydrothermal activity may begin with the
sudden release of a large volume of hydrothermal
fluid forming a “megaplume” in the overlying
water column. Observations at hydrothermal fields
on the Juan de Fuca Ridge (Embley et al. 1993;
Baker 1995) and the East Pacific Rise (Haymon et
al. 1993) suggest that the initiation of hydrother-
mal activity is directly linked to discrete volcanic
eruptions and that megaplumes are triggered by
dike emplacement (Embley and Chadwick 1994;
Baker 1995). The intrusion of the dikes close to
the seafloor and major eruptions of lava are
coincident with the displacement of large volumes
of hydrothermal fluid. Shortly after these erup-
tions, widespread diffuse flow of low-temperature
(<100oC) fluids begins through fractures in the
fresh lavas and between new pillows (Butterfield
and Massoth 1994). Within a period of about 5-10
years, a low-temperature vent field may be sealed
by hydrothermal precipitates, allowing sub-sea-
floor temperatures to rise and fluid discharge to
become focussed into deeper fractures. On a fast-
spreading ridge such as the East Pacific Rise, the

cycle of dike injection, eruption, and hydrothermal
discharge may repeat itself with each new
eruption, perhaps as often as every 3-5 years
(Haymon et al. 1993).

Diffuse venting typically occurs throughout
the life of a hydrothermal system. It may be the
earliest form of discharge in a new hydrothermal
field (see above) but commonly also occurs at the
margins of existing high-temperature upflow where
rising hydrothermal fluids mix with cold seawater.
Diffuse venting also typically dominates the last
stages of activity in a waning hydrothermal sys-
tem as high-temperature upflow collapses around
a cooling subvolcanic intrusion. Periods of diffuse
flow can sustain large biological communities, but
are not generally associated with extensive sulfide
mineralization because the low temperatures of the
fluids (<10°C to 50°C) do not allow transport of
significant concentrations of dissolved metals.
The mineral precipitates associated with diffuse
venting typically consist of amorphous Fe-
oxyhydroxides, Mn-oxides, and silica.

13.3 Growth of Black Smokers and
Massive Sulfide Mounds

Black smoker activity begins when the hydro-
thermal fluids contain enough metals and sulfur to
cause precipitation of sulfide particles during
mixing at the vent orifice. In order to carry these
metals in solution, fluids arriving at the seafloor
are usually hotter than 300°C. At many black
smoker chimneys measurements of vent tempe-
ratures in the range of 350°-400°C are common.

Fig. 13.4 Cross section of a typical high-temperature (350°C) black smoker chimney (from Haymon, 1983).
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The sequence of mineral precipitation which
attends mixing of these high-temperature fluids
with cold seawater has been modelled extensively
(Janecky and Seyfried 1984; Bowers et al. 1985;
Tivey 1995; Tivey et al. 1995). Most descriptive
models of the growth of black smoker chimneys
involve an early asssemblage of chalcopyrite,
pyrrhotite, and anhydrite at high temperatures,
followed by pyrite and sphalerite at lower
temperatures (Haymon and Kastner 1981; Haymon
1983; Goldfarb et al. 1983; Oudin 1983; Graham et
al. 1988; Zierenberg et al. 1984; Lafitte et al. 1985;
Fouquet et al. 1993b).  The black smoke emitted
from the chimneys consists mainly of Fe-sulfide
and Fe-oxide particles, together with amorphous
silica.  At lower-temperature “white and grey
smokers” (<300°C), the smoke consists of amor-

phous silica and/or barite and anhydrite with
lesser amounts of sulfide.

The characteristic feature that distinguishes
black smoker vents from white smokers is their
central chalcopyrite-lined orifice. In the models of
Haymon (1983) and Goldfarb et al. (1983), anhy-
drite is precipitated around a black smoker vent at
the leading edge of chimney growth, where hot
hydrothermal fluids first encounter cold seawater
(Fig. 13.4). The anhydrite is precipitated from Ca2+

in the vent fluids and SO4
2- in ambient seawater,

although some anhydrite in the outer walls of the
chimney or in the interior of hydrothermal mounds
(cf., Humphris et al. 1995) may also be formed
simply by the conductive heating of seawater
above 150°C. The anhydrite which forms the initial
wall of the chimney is gradually replaced by high-

BLACK SMOKER CHIMNEYS

HYDROTHERMAL PLUME

WHITE SMOKERS

SULFIDE TALUS

METALLIFEROUS
SEDIMENT

400°C
HIGH-TEMPERATURE
REACTION ZONE

OCEANIC
        CRUST

OCEANIC
        CRUST

SEAWATER SEAWATER

HIGH PERMEABILITY

LOW PERMEABILITY
HIGH-TEMPERATURE

END-MEMBER
350-400° C

SO               H S
4 2

METAL LEACHING
    S            H S

ROCK 2

STOCKWORK

100 M

Fig. 13.5 Surface features and internal structure of an active hydrothermal mound and stockwork complex at an
oceanic spreading center.

13.3 Growth of Black Smokers and Massive Sulfide Mounds
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temperature Cu-Fe-sulfides as the structure grows
upward and outward. Because of its retrograde
solubility, anhydrite is not well preserved in older
chimney complexes and eventually dissolves at
ambient temperatures and seafloor pressures
(Haymon and Kastner 1981). As a result, many
black smokers that are cemented by anhydrite are
inherently unstable and ultimately collapse to
become part of a growing sulfide mound.

Most chimneys have growth rates that are
rapid in comparison to the half-life of 210Pb (22.3
years), and radioisotope ages of several days or
less for precipitates of some active vents are con-
sistent with growth rates observed from submer-
sibles (5-10 cm per day: Hekinian et al. 1983;
Johnson and Tunnicliffe 1985). Larger vent com-
plexes commonly have measured ages on the
order of decades (Koski et al. 1994), but the data
for entire vent fields may span several thousands
of years (Lalou et al. 1993).

At typical black smoker vents, a very large
proportion (at least 90%) of the metals and sulfur
carried in solution are lost to a hydrothermal
plume in the overlying water column rather than
deposited as chimneys. The metals are precipi-
tated as sulfide particles in the plume above the
black smokers and are rapidly oxidized and dis-
persed over distances of several kilometers from
the vent (Feely et al. 1987, 1994a,b; Mottl and
McConachy 1990). Due to oxidation and dissolu-

tion, these particles also release some of the
metals back into seawater (Feely et al. 1987; Metz
and Trefry 1993). Particle settling models indicate
that only a small fraction of the metals is likely to
accumulate as plume fallout in the immediate
vicinity of the vents (Feely et al. 1987) and
observations of particulate Fe dispersal confirm
that most of the metals produced at a vent site are
carried away by buoyant plumes (Baker et al.
1985; Feely et al. 1994a,b).

Black smokers usually grow on hydrothermal
mounds that are large enough to be thermally and
chemically insulated from the surrounding
seawater (Fig. 13.5). The sulfide mounds also
serve to trap rising hydrothermal fluids and
impede the loss of metals and sulfur normally
caused by direct venting into the hydrothermal
plume. The largest sulfide deposits are often
composite bodies which appear to have evolved
from several smaller hydrothermal mounds (e.g.,
Embley et al. 1988). Many of the original chimney
structures are overgrown and eventually incor-
porated in the larger mound, destroying primary
textural and mineralogical relationships by hydro-
thermal replacement. Large sulfide mounds are
also constructed from the accumulation of sulfide
debris produced by collapsing chimneys, and
most large deposits are littered with the debris of
older sulfide structures. In many places, new
chimneys can be seen growing on top of the
sulfide talus, and this debris is eventually over-
grown, cemented, and incorporated within the
mound (Rona et al. 1993; Hannington et al. 1995).
At the same time, high-temperature fluids circu-
lating or trapped beneath the deposit precipitate
new sulfide minerals in fractures and open spaces.
Chimneys that are perched on the outer surface of
an active mound apparently tap these high-
temperature fluids but account for only a small
part of the total mass of the deposit.

The common presence of high-temperature
chimneys at the tops of the deposits and lower-
temperature chimneys on their flanks suggests
that most large mounds are internally zoned,
similar to many ancient massive sulfide deposits
on land (cf., Franklin et al. 1981). The most
common arrangement of mineral assemblages is a
high-temperature Cu-rich core and a cooler, Zn-
rich outer margin. Mineralogical zonation within a
deposit is principally a result of hydrothermal
reworking, whereby minerals that are soluble at
low-temperature such as sphalerite are dissolved
by later, higher-temperature fluids and redistri-

Fig. 13.6 The highest-temperature end-member fluids
in black smokers have compositions that are close to
equilibrium with pyrite-pyrrhotite-magnetite (A). Some-
what more oxidized fluids may result from equilibrium
with an assemblage of epidote-plagioclase-epidote-quartz-
magnetite-anhydrite-pyrite (PEQMAP buffer; B). As a
result of this buffer assemblage, the end-member hydro-
thermal fluids have a narrow range of aH2S and aH2
(modified after Seyfried et al. 1999).
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buted to the outer margins of the deposit. Sulfide
samples that have been recovered from the
interiors of hydrothermal mounds show signs of
extensive hydrothermal recrystallization and
annealing, especially when compared to the
delicate, fine-grained sulfides found in surface
precipitates (Hannington et al. 1998; Petersen et
al. 2000). As a result of the extensive hydrothermal
reworking in large sulfide mounds, it must be
considered that hydrothermal fluids arriving at the
seafloor are also likely to have been substantially
modified by interaction with pre-existing hydro-

thermal precipitates in their path (e.g., Janecky
and Shanks 1988), and caution should be used
when interpreting measurements made at the
surface of a large mound to infer processes related
solely to the direct venting of a high-temperature
end-member fluid.

13.4 Physical and Chemical
Characteristics of
Hydrothermal Vent Fluids

Most black smoker fluids are strongly buffered
close to equilibrium with pyrite-pyrrhotite-magne-
tite, although the proximity of the fluids to this
buffer assemblage is not necessarily a reflection
of the state of saturation of the minerals in
solution (Janecky and Seyfried 1984; Bowers et al.
1985; Tivey et al. 1995). Because of the high con-
centrations of reduced components such as
ferrous iron, H2 and H2S, the fluids do not deviate
significantly from the pyrite-pyrrhotite redox
buffer, even after substantial mixing and cooling,
and the common occurrence of both pyrite and
pyrrhotite in many sulfide chimneys reflects con-
ditions close to pyrite-pyrrhotite equilibrium
throughout their venting history. Janecky and
Seyfried (1984) note that mixing does not
significantly alter the strong fO2 buffering of the
fluids until relatively large amounts of seawater
have mixed with the end-member solutions, a
characteristic which reflects the abundance of
reducing agents in the vent fluids and the inef-
fective buffer capacity of seawater.

Because the vent fluid compositions are de-
termined largely by fluid-rock interactions that
take place in the source region, the equilibrium
mineral assemblage that is precipitated during
mixing will depend to a large extent on the
chemistry of the source rocks. Fluids that are
buffered to lower fO2 and fS2 values produce a
pyrite- and pyrrhotite-dominated assemblage;
fluids at higher fO2 and fS2 values will precipitate
only pyrite. Whereas the buffer assemblage in
most volcanic rocks is close to pyrite-pyrrhotite-
magnetite, fluids that have reacted extensively
with organic-rich sediments or ultramafic rocks
may have significantly more reduced composi-
tions. As a result, seafloor spreading in areas of
high sedimentation near the continental margins
(e.g., Guaymas Basin) has given rise to a class of
deposits that are mineralogically quite different

13.4 Physical and Chemical Characteristics of Hydrothermal Vent Fluids

Fig. 13.7 Solubilities of chalcopyrite and sphalerite as a
function of temperature and pH (modified after Large et
al., 1989). (a) A typical end-member fluid with
concentrations of Cu and Zn between 1 and 100 ppm
(shaded area) on cooling will precipitate a zone of
chalcopyrite first (between 360 and 275oC) followed by a
zone of sphalerite (between 250 and 175oC). (b) Similar
zonation can result from an increase in pH.
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from those of bare-ridge massive sulfides. In these
deposits, reaction of heated seawater with basaltic
rocks controls the initial composition of the
hydrothermal fluid, but interaction of the fluid
with sediments in the upflow dramatically modifies
the fluid chemistry. Chemical buffering of the
fluids by sediments results in generally higher pH,
and reactions with organic matter in the sediments
result in significantly lower fO2 than in bare-ridge
systems (Von Damm et al. 1985a; Bowers et al.
1985). Pyrrhotite tends to be the dominant Fe-
sulfide phase, and other minerals typically formed
at low fO2 may also be common (e.g. Koski et al.
1988; Zierenberg et al. 1993).

The metal zonation within black smoker
chimneys and hydrothermal mounds reflects the
precipitation of sulfide minerals according to their
respective solubilities at different temperatures
and pH (e.g., Fig. 13.7). For the most part, metals
such as Cu and Zn are carried in solution as
aqueous chloride complexes with stabilities that
are enhanced at high temperatures and low pH
(Bourcier and Barnes 1987; Crerar and Barnes
1976; Hemley et al. 1992). During mixing with and
cooling by seawater, decreasing temperature and
increasing pH cause the sequential deposition of
chalcopyrite and sphalerite. The Cu-rich cores of
black smokers generally reflect saturation with
respect to chalcopyrite at high temperatures,
whereas the outer Zn-rich zones reflect saturation

with sphalerite at lower temperatures (e.g., caused
by mixing with seawater that penetrates through
the chimney walls). Although the pH of a hydro-
thermal fluid will increase dramatically as a result
of mixing, during conductive cooling the pH
changes in the fluid are moderated by the
production of acid associated with sulfide
precipitation (e.g., FeCl2 + 2H2S + 1/2O2 = FeS2 +
2Cl- + 2H+ + H2O), and the lower pH of the cooled
fluids may inhibit the precipitation of certain
minerals (Janecky and Seyfried 1984).

An important constraint on the P-T path for
some seafloor hydrothermal fluids is the two-
phase curve for seawater (Fig. 13.8; Bischoff and
Rosenbauer 1984; Bischoff and Pitzer 1985).
Variations in the salinties of some vent fluids
indicate that phase separation is occurring in
many seafloor hydrothermal systems (Von Damm
1988, 1990; Butterfield 2000; see below). At the
depth range of the most mid-ocean ridge vent
sites (2,500-3,000 m), the two-phase boundary of
seawater occurs at temperatures between 385°C
and 405°C (Fig. 13.8). Because temperatures of
vent fluids at these depths are typically well
below the two-phase, they are unlikely to undergo
phase separation. However, other vent fluids have
been observed that are clearly within the two-
phase region (e.g., 420°C and 220 bars at
Endeavour Ridge: Delaney et al. 1984), and similar
conditions may be common in the high-
temperature reaction zones or upflow conduits of
some systems. At pressures and temperatures
below the critical point for seawater (407°C and
298 bars), fluids which intersect the two-phase
curve will separate a small amount of low-salinity,
vapor. At temperatures and pressures higher than
the critical point, phase separation involves the
condensation of a small amount of high salinity
brine (i.e., supercritical phase separation). The
existence of such high-salinity fluids at depth has
implications for the development of metal-rich
brines. Bischoff and Rosenbauer (1987) noted that
during supercritical phase separation, both the
acidity and the concentration of heavy metals
increase in the chloride-rich phase, and the
solubilities of metals as aqueous chloride
complexes in these fluids may be several orders of
magnitude greater than in fluids of ordinary
seawater composition.

At shallow water depths, subcritical boiling
may have a major impact on seafloor minerali-
zation.  At 350°C, a 21°N-type fluid will intersect
the two-phase curve for seawater when the
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hydrostatic pressure is equivalent to about 1,600
m of water depth (160 bars or 16 Mpa; Fig. 13.8). If
the water depth is less than 1,600 m, the fluid will
boil beneath the seafloor and may separate a
vapor-rich phase. At these lower pressures, the
density difference between the vapor and liquid is
large, which facilitates the separation of a low-
salinity, gas-rich phase. Such fluids were first
documented at vents in the caldera of Axial
Seamount (1,540 m water depth and a fluid
temperature of 349°C) where low salinity and high
gas contents have been measured (Massoth et al.
1989; Butterfield et al. 1990). Similar boiling is now
recognized in a large number of shallow submarine
hydrothermal systems (German and Von Damm
2004; Hannington et al. 2005).

13.5 The Chemical Composition of
Hydrothermal Vent Fluids and
Precipitates

Since the discovery of high-temperature hydro-
thermal vents at the East Pacific Rise 21°N in 1979,
hydrothermal fluids have been sampled at nume-
rous sites at mid-ocean ridges and back-arc
spreading centers. As noted above, in most high-
temperature vent fluids, both Mg and SO4 show a
negative correlation with temperature, and an
extrapolation to zero Mg and  zero SO4 intersects
the temperature axis at a point corresponding to
the end-member temperature (Fig. 13.9). Controls
on the major element compositions of these fluids

Fig. 13.9 Temperature, pH, SO4 and H2S versus Mg. Symbols indicate measurements of different black and white
smoker fluids from the East Pacific Rise 21°N, the TAG site at 26°N Mid-Atlantic Ridge, and the Snakepit
hydrothermal field at 23°N Mid-Atlantic Ridge (after Von Damm et al. 1983 and Edmond et al. 1995).
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are summarized in Von Damm (1990) and Von
Damm (1995), and some examples are given in
Table 13.3. Time series measurements on the order
of a decade at a number of sites have indicated
that the chemical composition of vent fluids at
individual sites does not show significant tempo-
ral variablity and is essentially „steady state”
once the system has stabilized after a new
volcanic event (Von Damm 1995). Phase separation
is responsible for much of the chemical variability
observed (cf., Von Damm 1995), but major diffe-
rences are also recognized between fluids
originating in different volcanic and tectonic
settings with different host rock compositions
(Hannington et al. 2005; see below). In some
areas, contributions from a degassing magma are
also inferred (Lupton et al. 1991; de Ronde 1995).

The salinities of vent fluids have been shown to
range from values of about 30% (176 mM/kg; Von
Damm and Bischoff 1987) to 200% (1090 mM/kg;
Massoth et al. 1989) seawater values (546 mM/kg).
These variations are important because Cl is the
major complexing anion in the hydrothermal fluids.
The observed salinities cannot be accounted for
by hydration of the oceanic crust (Cathles 1983)
or by precipitation and dissolution of Cl-bearing
mineral phases (Edmond et al. 1979b; Seyfried et
al. 1986) but are interpreted to be a result of phase
separation at the top of the magma chamber
followed by mixing of the brines and more dilute

hydrothermal fluids during ascent to the seafloor
(cf. Butterfield 2000).

In mid-ocean ridge hydrothermal fluids, 3He is
significantly enriched over air-saturated seawater,
with 3He/4He ratios between about 7 and 9. These
ratios represent typical mantle values and corre-
spond to 3He originating from MORB magma that
has degassed into the hydrothermal system
(Lupton 1983; Baker and Lupton 1990). Lupton
and Craig (1981) have demonstrated that 3He
behaves extremely conservatively in hydrothermal
plumes and can be traced in the water column over
distances up to 2000 km from the point of origin
(Fig. 13.10). In unsedimented areas, CH4 also is
commonly enriched in the fluids, as a product of
inorganic reactions in the hydrothermal system
and also from magmatic degassing. Methane and
total dissolvable Mn (TDM) have been found to
be enriched about 106-fold over ambient seawater
in high-temperature vent fluids (e.g., Fig. 13.11;
Von Damm et al. 1985b). In diluted buoyant hydro-
thermal plumes, these values are still 100-fold
enriched relative to seawater (Klinkhammer et al.
1986; Charlou et al. 1991) which makes CH4 and
Mn valuable tracers when prospecting hydro-
thermal vent areas.

Concentrations of trace elements such as Ag,
As, Cd, Co, Se, and Au have been measured in
some vent fluids (Von Damm 1990; Campbell et al.
1988a,b; Fouquet et al. 1993a; Trefry et al. 1994;
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Edmond et al. 1995; Table 13.3) and certain metals
such as Cu, Co, Mo, and Se appear to show a
strong positive temperature-concentration relation-
ship which likely accounts for observed enrich-
ments of these elements in the sulfides from high-
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Fig. 13.11 Positive correlation of Mn and CH4 in a hy-
drothermal plume (after Herzig and Plüger 1988).
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Table 13.4 Bulk chemical composition of seafloor
polymetallic sulfides from mid-ocean ridges and back-arc
spreading centers (after Herzig and Hannington 1995).

E le m e n t M id - O c e a n B a c k - A r c
R id g e s  1 R id g e s  2

n 8 9 0 3 1 7

F e  ( w t% ) 2 3 .6 1 3 .3

C u 4 .3 5 .1

Zn 1 1 .7 1 5 .1

P b 0 .2 1 .2

A s 0 .0 3 0 .1

S b 0 .0 1 0 .0 1

B a 1 .7 1 3 .0

A g  ( p p m ) 1 4 3 1 9 5

A u 1 .2 2 .9

1 E xp lo re r  R id g e , E n d e a vo u r  R id g e , Ax ia l S e a m o u n t,
  C le ft S e g m e n t, E a s t P a c ific  R is e , G a la p a g o s  R ift,
  T AG , S n a ke  P it, M id -A tla n tic  R id g e  2 4 .5 °N
2 Ma ria n a  T ro u g h , Ma n u s  B a s in , N o r th  F iji B a s in ,
  L a u  B a s in

temperature chimneys (Hannington et al. 1991).
Other elements such as Zn, Ag, Cd, Pb, and Sb
appear to be signficantly enriched in lower-
temperature fluids (Trefry et al. 1994).  However,
these data remain scarce, reflecting the difficulties
of reliably measuring trace metal concentrations in
the vent fluids.

The typical REE pattern of end-member
hydrothermal fluids exhibits a strong enrichment of
LREE and a pronounced positive Eu anomaly
(Michard et al. 1983; Campbell et al. 1988c; Michard
1989; Fig. 13.12), in contrast to the source rocks
(MORB) which have a nearly flat, LREE depleted
spectrum, and to seawater which is characterized
by a strong negative Ce anomaly. The overall
pattern is strongly influenced by leaching of
plagioclase from MORB under hydrothermal
conditions.

The chemical compositions of volcanic and
sedimentary rocks with which the end-member
hydrothermal fluids react have a major impact on
the metal supply and nature of subseafloor
alteration. The bulk compositions of the deposits
generally reflect the rock types from which the
metals were leached (Doe 1994; Herzig and
Hannington 1995). In mid-ocean ridge environ-
ments, the dissolution of sulfides and the destruc-
tion of ferromagnesian minerals in mid-ocean ridge



471

basalt (MORB) are the major sources of Cu, Fe, Zn,
Au, and S in the hydrothermal system. In contrast,
elements such as Pb and Ba are derived mainly from
the destruction of feldspars. Feldspars are parti-
cularly abundant in felsic volcanic rocks, but less
so in basalt, so elements such as K, Ba and Pb are
enriched in fluids from environments with a high
proportion of flesic rocks (e.g., volcanic arcs; see
below). Even in mid-ocean ridge settings, the bulk
compositions of the deposits appear to be quite
sensitive to the chemistry of the source rocks
(Table 13.4). For example, the high Ba contents of
some mid-ocean ridge deposits may be related to
the enrichment of incompatible elements in some
lava suites due to an enriched melt source or
greater degrees of fractionation (Perfit et al. 1983;
Delaney et al. 1981; Clague et al. 1981).

Hydrothermal fluids at immature back-arc rifts,
which occur behind island-arcs in areas where
oceanic crust is being subducted (Fig. 13.13),
clearly reflect the compositional differences of the
source rocks (fractionated, calc-alkaline suites
versus MORB). The fluids at immature back-arcs
are typically enriched in Zn, Pb, As and Ba (and
depleted in Fe) compared to mid-ocean ridge fluids,
which is related to the higher concentrations of
these elements in the associated lavas (Herzig and
Hannington 1995; Table 13.5).

Evidence for direct contributions of magmatic
fluid and gases to seafloor hydrothermal systems
also has been noted in back-arc vent fluids and
precipitates (Sakai et al. 1990; Gamo et al. 1997;
Herzig et al. 1998). This is of major importance, as
magmatic fluids and gases can be responsible for a
significant input of metals into the hydrothermal

system (Hedenquist and Lowenstern 1994).
Magmatic components, however, are extremely
difficult to identify as they are usually masked by the
large amount of seawater in the circulation system.

The recent discovery of active hydrothermal
vents in the summit calderas of andesitic volcanoes
along a number of submarine volcanic arcs (e.g.,
Izu-Bonin arc, Mariana arc, Tonga-Kermadec arc;
Fig. 13.1) highlights the possible importance of

13.5 The Chemical Composition of Hydrothermal Vent Fluids and Precipitates

Table. 13.5 Chemical composition of hydrothermal fluids
at mid-ocean ridges (EPR, East Pacific Rise 21°N) and back-
arc rifts (Valu Fa Ridge, Lau Basin) relative to seawater (sw).

EPR 21°N 1 Lau Basin 2 seawater

T (°C) 350 334 2

pH 3.6 2 7.8

salinity sw 1.5 · sw

Fe (ppm) 80 140 6·10-5

Mn (ppm) 49 390 5·10-5

Cu (ppm) 1.4 2.2 5·10-4

Zn (ppm) 5.5 196 7·10-4

Ba (ppm) 1.4 5.4 2·10-2

Pb (ppb) 54 808 2·10-3

As (ppb) 17 450 1.7

1 Von Damm et al. (1985a); 2 Fouquet et al. (1993a)

Fig. 13.13 Schematic diagram showing the geotectonic setting of a seafloor back-arc spreading center, showing the
relationship to the active volcanic front of the arc and the subducting slab.
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direct contributions magmatic volatiles to the
hydrothermal fluids in this setting.  Widespread
sulfur-rich fumaroles and low-pH vent fluids,
similar to magmatic-hydrothermal systems in
subaerial arc volcanoes, have been documented at
a number of locations and reflect magmatic
degassing of high-level magma chambers beneath
the summits of the volcanoes (Tsunogai et al.,
1994; de Ronde et al., 2003). A number of other
aspects of this setting also result in dramatically
different deposit types compared to those found on
the mid-ocean ridges and in deeper back-arc
basins.  In particular, the shallow water depths
(commonly <1,000 m) result in widespread boiling
and generally lower temperatures of hydrothermal
venting, with potentially significant sub-seafloor
stockwork mineralization.  However, the nature of
the hydrothermal activity in these volcanoes is not
yet well characterized.  Some clearly involves high-
temperature hydrothermal circulation of seawater
and black smoker venting, but many hydrothermal
plumes above the calderas appear to be related
mainly to passive degassing of the volcano rather
than high-temperature hydrothermal activity
(Massoth et al., 2003). Nevertheless, considering
the composition of the arc magmas, the flux of
volatiles from such systems is likely much greater
than that from the mid-ocean ridges.

Deposits on sediment-covered mid-ocean ridges
commonly have lower Cu and Zn contents and
higher Pb contents than bare-ridge sulfides, and
some deposits such as in the Guaymas Basin
contain abundant carbonate. The low metal
contents of deposits in the Guaymas Basin are a
consequence of the higher pHs of the fluids that
arise from chemical buffering by the carbonate in
the sediments, and the high CO2 in the fluids is
derived directly from the sediments themselves
(Bowers et al. 1985; Von Damm et al. 1985a). A high
ammonium content reflects the thermocatalytic
cracking of buried organic matter (e.g., immature
planktonic carbon; cf., Von Damm et al. 1985a). The
fluids in this environment are also strongly reduced
(in the pyrrhotite stability field) as a consequence
of reaction with organic matter in the sediments
(e.g., Corg + 2H2O = CO2 + 2H2), and metal deficient
relative to a volcanic-hosted hydrothermal system
as a result of sulfide precipitation within the
sediments. However, interaction of the hydrother-
mal fluids with sediments also may result in enrich-
ments in certain trace elements derived from the
sediments (e.g., Pb, Sn, As, Sb, Bi, Se: Koski et al.
1988; Zierenberg et al. 1993). The higher Pb

contents, in particular, reflect the destruction of
feldpars from continentally-derived turbidites, a
process supported by Pb isotope studies (LeHuray
et al. 1988).

13.6 Characteristics of Cold Seep
Fluids at Subduction Zones

In addition to hydrothermal activity at divergent
plate boundaries, low-temperature fluid venting
at both passive and convergent plate margins is
an important global process. Cold seeps have
now been documented at numerous sites along
the circum-Pacific subduction zones and else-
where on continental shelf, and it is estimated
that this type of oceanic venting is also of major
significance for the chemical budget of seawater.
The most significant fluxes are from fluids that
are expelled from thick organic-rich marine
sediments trapped in accretionary wedges along
the subduction trenches (e.g., Nankai Trench,
Oregon and Alaskan margins). Pore fluids in the
sediment account for as much as 50-70% of their
volume, and this fluid is literally squeezed from
the sediment through diffuse flow at the toe of
the accretionary wedge or by focussed flow
along major fault structures in the accreted sedi-
ments.

In order to estimate the mass flux from cold
seeps, flow rates have to be known, and these
have been difficult to measure because of the
large areas of diffuse flow involved. Fluid flow
rates determined from simple advection-diffusion
modelling of temperature and chemical profiles are
often unreliable if applied to sites which are
densely populated with bottom macrofauna.
Calculations by Wallmann et al. (1997), based on a
biogeo-chemical approach using oxygen flux and
vent fluid analyses and taking into account the
high pumping rates of bivalves, have arrived at a
mean value of 5.5 +/- 0.7 L m-2 d-1. Von Huene et al.
(1998) used sediment porosity reduction to
calculate a fluid flow of 0.02 L m-2 d-1. Suess et al.
(1998) calculated an average rate of 0.006 L m-2 d-1

based on the occurrence of vent biota at the
seafloor. Although these estimates span several
orders of magnitude, the fluid flux at subduction
zones is thought to be sufficient to cycle the
volume of water in the oceans every 500 Ma.  The
total flux may be lower than that of hydrothermal
circulation at mid-ocean ridges, but the fluids
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expelled from subduction zones are a significant
player in the carbon cycle of the oceans as a
result of the recycling of organic matter in marine
sediments.

Methane plumes have been found to be a
characteristic feature of cold seep areas. The
concentrations of dissolved CH4 in some areas are
lower than in hydrothermal vent areas at mid-
ocean ridges, but in other areas they exceed ridge
values by more than an order of magnitude and
have been successfully used as a tracer for
detecting cold seep venting. The methane and
carbon dioxide that are expelled with the pore
waters are derived mainly from the breakdown of
organic matter in the sediments. Methane together
with H2S support abundant chemosynthetic
bacteria, pogonophorans, vestimentifera, and
bivalves which differ from those that inhabit high-
temperature vent sites on the mid-ocean ridges
(Suess et al. 1998). As the temperatures of venting
are low compared to hydrothermal vents at the
mid-ocean ridges, metals are not significantly
mobilized.

Typical precipitates for areas of subduction
venting are carbonate and barite crusts and
carbonate-cemented sediment (Dia et al. 1993;
Suess et al. 1998). The formation of carbonate is
related to the microbial oxidation of methane
which causes the precipitation of CaCO3 from pore
fluids (Wallmann et al. 1997). The source for
barium is thought to be the high concentration of
biogenic barite buried in sediments at high
productivity areas which is mobilized from the
reduced sediment column due to sulfate depletion.
Barite in the cold seep areas forms as a result of
mixing between Ba-rich fluids upwelling from the
sediment with seawater sulfate (Ritger et al. 1987;
Torres et al. 1996).

Ice-like gas hydrates (clathrates) also have been
found at numerous sites along the convergent plate
margins (e.g., Suess et al. 1997). Methane hydrates
are stable in solid form only in a narrow tempe-
rature-pressure window (Dickens and Quinby-Hunt
1994; Fig. 14.3 in chapter 14). In theory, 1m3 of
methane hydrate can contain up to 164 m3 of
methane gas at standard conditions (Kvenvolden
1993). It has been estimated that the amount of
carbon in gas hydrates considerably exceeds the
total of carbon occurring in all known oil, gas and
coal deposits worldwide (Kvenvolden and
McMenamin 1980; Kvenvolden 1988). This raises
the possibility that gas hydrates may be a future
energy source of global importance.

If disturbed by a thermal anomaly or pressure
change, large volumes of gas hydrates can break
down into water, methane and carbon-dioxide.
The dissolution of metastable gas hydrates is a
natural consequence of tectonic uplift of accre-
tionary prisms at plate margins and is seen to be
partly responsible for the extensive methane
plumes reported from these areas (Suess et al.
1997). Because of the limited stability of gas
hydrates (low temperature and high pressure),
they are of major relevance for the budget of
greenhouse gases (Suess et al. 1997). The
destabilization and dissolution of gas hydrates
due to environmental changes (increase in ocean
bottom water temperature or change of sea level)
could liberate enormous amounts of methane to
the water column and eventually to the atmo-
sphere where they could potentially accelerate
greenhouse warming and have an effect on
future global climate (Leggett 1990).

13.7 Problems

Problem 1

A fluid sample collected at a mid-ocean ridge hydro-
thermal vent has a temperature of 250°C and Mg
concentration of 15 mmol/kg (Fig. 13.9).  If the fluid
contains 100 ppm Fe at 250°C, what is the likely con-
centration of Fe in the end-member fluid at 350°C?

Problem 2

A high-temperature black smoker has a calculated
end-member Fe concentration of 150 ppm (e.g.,
Table 13.3).  If the fluid is venting from the chimney
at a rate of 1 kg/s, how much Fe is being discharged
into the ocean by this vent every year?  If the
global flux of black smoker fluids along the
midocean ridges is equivalent to approximately one
vent for every 50 m of ridge-crest, how much Fe
would be discharged along the ridges every year?

Problem 3

A 100 m diameter sulfide deposit on the mid-ocean
ridge has been drilled to a depth of 25 m.  The metal
concentrations of the sulfides recovered from the
core are 2 wt.% Cu, 5 wt.% Zn, and 15 wt.% Fe, and
the samples have a bulk density of 3 g/cm3.  What is
the total metal content of the deposit?  If the

13.7 Problems
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deposit formed from a black smoker complex contai-
ning 100 vents of the type described in question 2,
how long would it have taken to deposit this much
metal, assuming a depositional efficiency of 1%?

Problem 4

The average depth of the summit calderas along a
submarine volcanic arc in the western Pacific
Ocean is about 1000 m.  What is the pressure at
this depth?  What is the maximum temperature of
a vent fluid discharging at 1000 m, assuming a
composition similar to that of mid-ocean ridge
vents?  What is the maximum temperature of
vents at 500 m depth?

Problem 5

Write a balanced chemical reaction (or reactions) to
represent the breakdown of organic matter in
sediment to form carbon dioxide and methane in a
cold seep environment.   If the average temperature
of the sediments where this reaction is taking place
is 5°C, what is the minimum depth at which you
would expect to find solid gas hydrates forming
from the methane?  What would be the depth if the
bottom temperature was 1°C?
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14.1 Introduction

Gas hydrates are naturally occurring ice-like
crystalline compounds in which gases are trapped
within a lattice of water molecules. The presence of
gas hydrates is controlled by temperature, pressure
and the availability of appropriate gases and water.
The first discovery of gas hydrate goes back to 1810,
with the pioneering synthesis of chlorine hydrate by
Sir Humphrey Davy (Davy 1811). In the 1930s
crystalline substances were observed to form spon-
taneously within natural gas pipelines in permafrost
regions, and these deposits, which were clogging the
pipelines, were identified as being hydrates of mixed
hydrocarbon gases (Hammerschmidt 1934). The
recognition that natural gas hydrates can block gas
transmission lines, led the hydrocarbon industry to
invest in efforts aimed at understanding gas hydrates,
and thus begins the modern research in this subject.

Russian scientists (Vasil’ev et al. 1970) were the
first to recognize that methane in natural systems
could form gas hydrate deposits wherever the pressure
and temperature conditions were favourable. These
ideas were followed by discovery of gas hydrate, first
in the permafrost regions of Russia (Makogon et al.
1971) and Canada’s MacKenzie Delta (Bily and Dick
1974), and subsequently in sediments of the Caspian
Sea and Black Sea (Yefremova and Zhizhchenko 1974).
Interest in these deposits prompted the development
of geophysical prospecting tools, which were used
to predict the occurrence of gas hydrate in sediments
of the Blake Ridge, of the western Atlantic Ocean
(Stoll et al. 1971) and elsewhere (Shipley et al. 1979).
In the early 1980s, hydrate was recovered from
sediments of the Middle America Trench offshore
Mexico by the Deep Sea Drilling project (Shipley and
Didyk 1982). Since then, deep sea drilling has
recovered hydrate from subsurface sediments along

the Pacific and Atlantic continental slopes
(Kvenvolden 1993). In addition, hydrate has been
recovered from many near-surface environments
along continental margins worldwide (Mazurenko and
Soloviev 2003).

The number of hydrate publications, scientific
sessions and workshops dedicated to gas hydrate
research has increased substantially during the last
10-15 years, reflecting the development of a broad
national and international hydrate research effort in
this field. The interest in gas hydrates emerges from
the awareness that these deposits may play significant
roles in global and regional processes with societal
and economic significance. A global hydrate
assessment, although still uncertain, suggests that
methane hydrates might represent an important future
energy resource (Kvenvolden 1998; Collet 2002). In
addition, other important hydrate questions that have
attracted attention include: 1) Is there a feedback
between methane hydrate stability and climate? 2)
What is the role of methane hydrate in the carbon
cycle? and 3) How much does gas hydrate contribute
to seafloor stability on continental slopes?

The purpose of this chapter is to summarize some
of the fundamentals of our current understanding of
gas hydrate in marine sediments, its interactions with
the environment, and recent findings from ongoing
research programs that illustrate key aspects of gas
hydrate dynamics. We start with general information
on the structure and composition of gas hydrates and
address their presence and distribution in the marine
sediments based on their thermodynamic stability and
environmental conditions. Because here we emphasize
topics that are relevant to the scope of this textbook,
we review the sources and migration mechanism of
gases needed to stabilize the hydrate structure; the
chemical and isotopic anomalies associated with
hydrate formation; and the interaction of hydrates
with fluid flow along continental margins.

14 Gas Hydrates in Marine Sediments
GERHARD BOHRMANN AND MARTA E. TORRES
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14.2 Hydrate Crystal Chemistry
and Stability of Gas Hydrates

14.2.1 Cages and Three Crystal Structures

Gas hydrates are non-stoichiometric, solid compounds
similar to ice crystals (Sloan 1998). In these compounds,
also called clathrates (latin clatratus for cage), water
molecules form cage-like structures in which low
molecular weight gases are enclosed as guest
molecules (Fig. 14.1). The gas molecules interact with
water molecules through van der Waals (nonpolar)
forces. Since no bonding exists between the guest
and host molecules, the guest molecules are free to
rotate inside the cages, and this rotation can be
measured by spectroscopic techniques (e.g. Gutt et
al. 1999). Gas hydrate can contain different types of
gas molecules in separate cages, depending on the
gas composition in the environment of formation.
Methane is the main gas in naturally occurring gas
hydrates; however H2S, CO2 and, less frequently, other
hydrocarbons, can also be found within the hydrate
structure.

To date gas hydrates have been found to occur in
three different crystal structures (Sloan 1998).
Structures I and II both crystallize within a cubic
system, whereas the third structure (also denominated
H) crystallizes within a hexagonal system, analogous
to water-ice (Fig. 14.1; Table 14.1). The structure of
gas hydrate can be seen as a packing of polyhedral
cages. Five types of hydrate cages are known, from

which the simplest polyhedron is formed by twelve
five-sided polygons (512) known as pentagonal
dodecahedra. This cage is the smallest one that occurs
in all three clathrate crystals (Fig. 14.1; Table 14.1).
Larger diameter cages can be formed by adding two,
four or eight hexagonal faces, and these are denoted
as 51262 in structure I, 51264 in structure II, and 51268 in
structure H (Table 14.1). In addition, structure H has a
medium-sized cavity with square, pentagonal and
hexagonal faces (435663). Figure 1 depicts the five
cavities of all three structures that are known to occur
naturally.

Structure I is most frequently observed. Its unit
cell consists of 8 cages: 2 small (512) and 6 large cavities
(51262). Inside each cavity resides a maximum of 1 guest
molecule, such that 8 guests molecules are associated
with 46 water molecules in structure I (2[512] 6[51262]
46H2O). A unit cell of structure II consists of 24 cages,
i.e. 16 small cavities (512) and 8 large ones (51264), which
account for 136 water molecules (16[512] 8[51264]
136H2O). Structure H forms a more complicated crystal
composed of 3 small (512), 2 medium-sized (435663) and
1 exceptionally large (51268) cavity associated with 34
water molecules (3[512] 2[51264] 1[435663] 34H2O).

When all hydrate cages are filled, the three crystal
types have similar concentrations of 85 mol% water
and 15 mol% guest molecules. Structure I hydrate with
CH4 and C2H6 has minimum (stoichiometric) hydration
numbers of 5.75 and 7.67, respectively. Only large
cavities in the Structure II hydrate are occupied with
C3H8 (and i-C4H10), and such hydrates have a hydration
number of 17 (e.g. Sloan 1998). However, hydration

Fig. 14.1 Left: Gas hydrate of type structure I; small spheres are water molecules forming cages; large spheres are
gas molecules. Right: Cage types and the number of individual cages forming the three common hydrate crystal
structures. The circled numbers denote the numbers of the cages used to form the hydrate structure.



483

14.2 Hydrate Crystal Chemistry and Stability of Gas Hydrates

Table 14.1  Summary of some characteristics from the three crystal hydrate structures (from Sloan 1998).
* = Estimates of structure H cavities from geometric models.

numbers of naturally occurring gas hydrates are highly
variable, and are generally depleted in gas relative to
its stoichiometric value. Samples from the Middle
America trench off Guatemala and from the Green Can-
yon area of the northern Gulf of Mexico have hydration
numbers of 5.91 and 8.2, respectively (Handa 1990).
Matsumoto et al. (2000) reports a hydration number of
6.2 for hydrate from the Blake Ridge.

14.2.2 Guest Molecules

Gas molecules in sufficient amount are a prerequisite
to stabilize the hydrate structures. In principle, the
occupied hydrate cage is a function of the size ratio of
the guest molecule to the host cavity. Figure 14.1
illustrates the guest/cavity size ratio for hydrates
formed of a single guest component in either structure
I or structure II (Sloan 1998). Molecules smaller than
3.5 Å will not stabilize hydrates and those larger than
7.5 Å are too large to fit in the cavities of structures I
and II. Some molecules are too large to fit the smallest
cage of each structure (e.g. C2H6 fits in 51262 of structure
I), whereas other molecules such as CH4 and N2 are
small enough to enter both cavities (denoted as either
512 and 51264 in structure I). At pressures greater than
0.5 kbar two N2 molecules can be accommodated in
the 51264 cage (Kuhs et al. 1996). The largest molecules
determine which structure will form. Because propane
and i-butane are present in many thermogenic natural
gases, they will cause structure II to form. In such
cases methane will occur in both cages of structure II
and ethane will enter only the 51264 cage of structure II.

Table 14.2 shows the size ratio of several gas
molecules within each of the four cavities of structures
I and II. A ratio of molecule to cage size of approximately
0.9 is necessary for stability of a hydrate composed of
a single gas. When the size ratio exceeds unity, the
gas will not fit within the cage structure and hydrate

will not form. When the ratio is significantly less than
0.9 the molecule cannot lend significant stability to
the cage (Sloan 1998).

Structure I, which is by far the most commonly
found in marine deposits, contains small guest
molecules with diameters ranging from 4 to 5.5 Å.

Hydrate crystal structure
Symmetry
Cell constant (Å)
Cavity Small Large Small Large Small Medium Large
Description of cavity 512 51262 512 51264 512 435663 51268

Number of cavity / cell unit 2 6 16 8 3 2 1
ø cavity radius (Å) 3.8 4.33 3.91 4.73 3.9* 4.06* 5.71*
Coordination number 20 24 20 28 20 20 36

n H2O/unit cell

12.03 17.31 a = 12.26; c = 10.17

46 136 34

I II H
Cubic Cubic Hexagonal

Fig. 14.2 Guest molecules versus hydrate cage size range
(from Sloan 1998). Left line shows the size of typical hydrate-
forming guest molecules. The number of water molecules in
gas hydrates shown, corresponds to single guest gas occupants
listed on the left. The related type of structures formed are
listed on the left. As an example, methane has a typical
hydration number of 53/4 and occupies both cages of structure I.
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Structure I cages can therefore enclose gas molecules
that occur naturally in marine sediments and are smaller
in diameter than propane, such as CH4, CO2 or H2S.
The natural occurrence of this crystal structure
depends on the presence of biogenic gas in sufficient
amounts, as commonly found in sediments of the
ocean floor underlying areas of high biologic
productivity. Cubic structure II generally occurs with
guest molecules ranging between 6-7 Å. Hence, it
contains natural mixtures of gases with molecules
bigger than ethane and smaller than pentane, and it is
therefore usually confined to areas where a thermo-
genic gas is present in the sediment. Hexagonal
structure H may be present in either environment, but
only with mixtures of both small and very large (8-9 Å)
molecules, such as methylcyclohexane.

The smallest guest molecules that form hydrate
structure II have diameters smaller than 4 Å, ( e.g. Ar,
Kr, O2 and N2). Such nitrogen and oxygen clathrates
are known as air clathrates, and have been observed
in ice-cores from Antarctica and Greenland below ~
1100 m. In these samples, individual air bubbles have
reacted with polar ice under high pressure to form
clathrates (Shoji and Langway 1982).

14.2.3 Stability and Phase Boundaries
of Gas Hydrates

The presence of gas hydrates is controlled by several
factors, among which, temperature, pressure, ionic
strength of the water and gas composition and
abundance are key parameters (Sloan 1998). The
pressure/temperature conditions required for pure
methane hydrate stability are illustrated in Fig. 14.3. In
this case, methane hydrate is stable at temperatures

higher than 15°C only at high pressures (> 10 MPa).
At lower pressures, the stability of methane hydrate
requires colder temperatures (e.g. for P < 6 MPa; T< 10°C).
In the pressure/temperature field, the phase boundary
is determined by the gas composition and also by the
ionic strength of the water. The presence of CO2, H2S,
ethane and/or propane will have the effect of shifting
the stability curve to a higher temperature at a given
pressure, increasing the stability of methane hydrate.
The presence of dissolved ions in the pore fluids, on
the other hand, inhibits the stability of hydrate. There
is a –1.1°C offset in dissociation temperature of
methane hydrate in 33% NaCl, relative to that of
hydrate formation in pure water (e.g. Dickens and
Quinby-Hunt 1994).  Thus, an increase in salinity of
the fluids from which the hydrate is forming shifts the
phase boundary to the left (Fig. 14.3).

Accurate and precise prediction of the P/T
conditions for natural gas hydrate stability is a field of
active research, and numerous methods for predicting
methane hydrate stability can be found in the literature
(summarized in Sloan 1998). Dickens and Quinby-Hunt
(1994) estimate the P/T conditions for hydrate stability
by interpolating experimentally determined
dissociation data. Since their experiments were
conducted in both seawater and freshwater matrices,
their results are useful in evaluating the effects of pore
fluid salinity. Other methods to estimate the stability
conditions are based on minimizing the Gibbs Free
Energy of the system. The most commonly used of
these computer-based methods is the Sloan (1998) PC-
DOS program CSMHYD, which allows for stability
estimates at varying salinities. Simpler calculation
methods are also available for the rapid estimation of
hydrate formation conditions (Carroll 2003).

Table 14.2 Ratios of molecular diameters (obtained from von Stackelberg and Müller 1954) to hydrate cavity diameters
for various gases, including those commonly found in natural gas hydrate (from Sloan 1998). F = indicates the cavity
occupied by a single guest.

Molecule Guest diameter Å

512 51264 512 51264

N2 4.10 0.804 0.700 0.817 F 0.616 F

CH4 4.36 0.855 F 0.744 F 0.868 0.652

H2S 4.58 0.898 0.782 0.912 0.687

CO2 5.12 1.00 0.834 1.02 0.769

C2H6 5.50 1.08 0.939 F 1.10 0.826

C3H8 6.28 1.23 1.07 1.25 0.943 F

i-C4H10 6.50 1.27 1.11 1.29 0.976 F

n-C4H10 7.10 1.39 1.21 1.41 1.07

Structure  I Structure II
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14.3 Hydrate Occurrence in the
Oceanic Environment

14.3.1 Gas Hydrate Stability Zone in
Marine Sediments

Gas hydrates form wherever appropriate physical
conditions exist and concentrations of low molecular
weight gases, mostly methane, exceed saturation.  The
P/T factors for the presence of methane hydrates (Fig.
14.3) are present in marine sediments as shown by the
phase boundary in Fig. 14.4. The dashed line shows a
typical temperature profile through the water column
in the Atlantic Ocean. Near surface temperatures are
too warm and pressures too low for methane hydrate
to be stable. Below the major thermocline there is
change in the temperature gradient, and the
temperature profile intersects the phase boundary at
~450 m water depth, which defines the upper limit for
methane hydrate stability in that part of the ocean. If
methane is sufficiently abundant, methane hydrate
would form. However, since the density of hydrate is
around 0.913 g cm-3(Sloan 1998) any crystalline hydrate
that may form in the water column (e.g. at sites of
methane discharge) will rise due to its relative
buoyancy and it will dissociate when it reaches depths
above its stability field. However, if methane hydrate
forms within the sediment pore space, it will be bound
in place. If water temperatures are colder the upper
limit for methane hydrate is shallower. This limit of

Fig. 14.3 Phase diagram showing the boundary between
methane hydrate (in yellow) and free methane gas (white)
for a pure methane/H2O system. Addition of ions shifts the
boundary to the left, decreasing the P/T stability field. The
presence of gases like carbon dioxide, hydrogen sulphide or
other high-molecular hydrocarbons shifts the curve to the
right, thus increasing the P/T field in which methane
hydrate is stable (after Kvenvolden 1998).

Fig. 14.4 Left: Stability field of pure methane hydrate at normal seawater salinity, as defined by temperature and
pressure expressed as water depth. Intersections of the temperature profiles (stippled lines) with the phase boundary
(heavy line) define the area of the gas hydrate stability zone (GHSZ). Right: Inferred thickness of the gas hydrate zone
in sediments at a schematic continental margin assuming a typical geothermal gradient of 28°C km-1. Typical bottom
water temperatures are marked, and range from 18oC on shallow shelf regions to 2oC at the bottom of the continental
rise (after Kvenvolden and McMenamin 1980).

14.3 Hydrate Occurrence in the Oceanic Environment
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hydrate occurrence in sediments is deeper in closed
ocean basins where the temperature of the bottom
water is higher. For example, within the Black Sea where
the bottom water temperature is 9°C, the upper limit of
hydrate stability is around 700 m water depth
(Bohrmann et al. 2003). In contrast, in the polar
oceans, gas hydrate can be stable in 300 m of water
(Kvenvolden 1998).

The local geothermal gradient in marine settings
determines the temperature profile below the sea-floor
(Fig. 14.4 dashed line in the sediment sequence).  As
temperature in the sediments increases with depth,
the sediment temperature will eventually get high
enough to cross the phase boundary, such that gas
hydrate will no longer be stable beneath this depth.
Other factors like the gas composition and salt content
of the pore water influence the precise location of the
lower boundary of the gas hydrate stability zone
(GHSZ). Thus, the base of the GHSZ is itself a phase
boundary. Since the geothermal gradient is often quite
uniform across broad regions beneath the seafloor,
the thickness of the GHSZ is quite constant for a given
water depth. However, a change in water depth will
influence the thickness of the hydrate stability zone
(Fig. 14.4). Due to the P/T conditions for hydrate

stability, the thickness of the GHSZ can reach 800 to
1000 m below seafloor in deep water areas, and the
base of the GHSZ will shoal up as water depth
decreases (Fig. 14.4).

Even though P/T conditions in most of the ocean
floor lie within the hydrate stability field, no such
deposits are found in the abyssal plain because there
is not enough gas in these sediments to stabilize the
hydrate structure. This fact illustrates the third funda-
mental requirement for gas hydrate formation. In
addition to moderately high pressures and low
temperatures, gas hydrates will only form if the mass
fraction of methane exceeds its solubility. Methane
solubility itself is a function of pressure and tempera-
ture. At depths within the GHSZ, the equilibrium
concentration in the presence of hydrate decreases
almost exponentially towards the seafloor (Fig. 14.5A).
At greater depths, the equilibrium is defined between
aqueous solution and free gas. In Figure 14.5B this
relationship is shown for sediments recovered from
the flanks of Hydrate Ridge (ODP Site 1245), in the
Cascadia margin.  Here the entire sediment column
above 134 meters lies within the GHSZ; however,
sediments above 40 meters do not have enough
methane to support hydrate formation (Tréhu et al.

Fig. 14.5 A.  Methane solubility as a function of depth in the sediment (mbsf = meters below seafloor) based on
thermodynamic functions and assuming two different geothermal gradients of 50° km-1 (black line) and 25° km-1 (gray line).
It illustrates the effect of temperature changes on the vertical gradient of methane solubility and on the depth of the GHSZ,
which is defined by the discontinuity in the slope of the gas solubility curves and demarked by horizontal lines. In this
example the pressure is assumed to be hydrostatic.  The water depth is assumed to be 2000 m, and bottom water temperature
used is 2.5° C (from Zatsepina and Buffet 1997). B. Approximate phase boundaries where dissolved gas, gas hydrate and free
gas are predicted for Site 1245, drilled on 880 meters of water depth during ODP Leg 204 offshore Oregon.  Uncertainties
(~30%) in the position of these boundaries result from variations in subsurface thermal gradient, gas composition and pore
fluid salinity. The closed circles represent methane concentration in sediments recovered at in situ pressure, revealing that
there is not enough methane in the upper 45 meters to support hydrate formation, thus defining the gas hydrate occurring
zone (GHOZ) as the interval between 45 and 135 mbsf. These inferences are consistent with observations of hydrate in the
sediment, as indicated by the shaded region in the column to the right  (from Tréhu et al. 2003).
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2003).  Consistent with inferences based on methane
concentration measured on cores collected at in situ
pressures, gas hydrate in these sediments is only
present between 45 and 134 meters, in what is known
as the gas hydrate occurrence zone (GHOZ).

14.3.2 Seismic Evidence for Gas Hydrates

The first indications of methane hydrate in marine
sediments were based on the observation of a seismic
reflection called “bottom-simulating- reflector” or BSR,
because it approximately mimics the sea-floor (Shipley
et al. 1979). The BSR cuts across reflections of strati-
graphic origin, making it readily apparent in marine
seismic records (Fig. 14.6). This reflection occurs approxi-
mately at the depth where the base of the gas hydrate
stability zone is predicted based on thermodynamic
equilibria (e.g. Tucholke et al. 1977; Shipley et al. 1979;
Hyndman and Spence 1992). Because of the temperature
dependence of hydrate stability, the depth of the BSR
provides a means of mapping the thermal gradient and
heat flux in the overlying sediment (e.g. Davis et al. 1990).
The negative polarity of this reflection indicates that it
results from a decrease in acoustic impedance (defined
as a product of density and seismic velocities) with depth.
Fig. 14.6 illustrates the presence of a BSR on Blake Ridge,
which demarks the impedance contrast between gas
hydrate-cemented sediments above the BSR and the
sequence below it, where free gas is present.

Although some details of the seismic reflection
properties are not yet fully understood, it appears that
the strength and the characteristics of the BSR is
determined by the presence of free gas below the gas
hydrate zone (Paull et al. 1996). The presence of free
gas represents a very large change in seismic velocity,
and therefore produces a very strong and sharply
defined reflection. Theoretical models (Xu and Ruppel
1999) and synthetic studies (Wood and Ruppel 2000)
indicate that the BSR is not a necessary condition for
the presence of hydrate, as it only occurs when there
is free gas beneath the distinct gas hydrate phase
boundary. If there is no free gas below a deposit of
gas hydrate, there will be no BSR. Indeed, sediments
containing gas hydrate have been recovered from areas
where there is no BSR (Mathews and von Huene 1985).

Models on gas hydrate concentration based on
analyses of the BSR properties depend on a number
of poorly constrained parameters, and thus these
geophysical estimates need to be calibrated against
direct measurement of hydrate abundance. The Ocean
Drilling Program has sampled various BSR horizons
on the continental slopes around the Pacific Rim (e.g.
Peru, Chile, Costa Rica, Oregon/Washington, Japan)
and on the passive US Atlantic margin (Blake Ridge)
with the aim of understanding gas hydrate charac-
teristics, distribution and concentration in continental
margin settings.  These efforts, in particular recovery
of samples under in situ pressure and calibration of

Fig. 14.6 Seismic record from Blake Ridge (Shipley et al. 1979), showing a distinct reflection, known as bottom
simulating reflection (BSR), which indicates the presence of methane hydrate within sediments (right). Below the BSR
there are strong reflections caused by free gas in the pores. A seismic velocity model (left) shows the strong contrast of
velocity across the BSR.

14.3 Hydrate Occurrence in the Oceanic Environment
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various proxies for hydrate abundance (e.g. Tréhu et
al. 2004a) will continuously improve our imperfect
knowledge of the distribution of gas hydrate in the
seafloor.

14.3.3 Generation of Gases for Hydrate
Formation

In their classic work on the origin and distri-
bution of methane in marine sediments, Claypool
and Kaplan (1974) place biogenic methane
generation within the ecological succession of
microbial ecosystems in the marine sedimentary
environment (Fig. 14.7A). These zones are
characterized by successively less efficient
modes of respiratory metabolism, which are
interlinked by microbially-induced environmental
changes: onemicrobe’s metabolic waste serves as
substrate for another organism. Details of the
microbiological pathways during early organic
matter diagenesis are covered in chapter 4. Here
we focus on the generation of methane needed
for gas hydrate formation.

Biogenic methane is produced as an end
product of the metabolism of a diverse group of

obligate anaerobic archaea (killed by even traces
of oxygen), generally known as methanogens.
These organisms can live in a wide range of
temperature, salinity and pH, but are limited in the
substrates they can utilize for growth. The most
important substrates for bacterial methanoge-
nesis are acetate (acetoclastic methanogenesis)
and H2 : CO2 (carbonate reduction). A detailed
description of the pathways involved in methano-
genesis from the bacterial decay of organic matter
in marine and freshwater sediments is given by
Wellsbury et al. (2000).

Deep ocean sites containing gas hydrate have
been analyzed to determine bacterial numbers,
activity rates, cultural metabolic groups and
estimates of biodiversity using molecular genetic
analyses (Reed et al. 2002; Colwell et al. 2004).
Bacterial population usually decreases in number
with increasing depth (Wellsbury et al. 2000), but
significant bacterial counts and activities have
been measured within and beneath the GHSZ in
Blake Ridge and Hydrate Ridge sediments
(Wellsbury et al. 2000; Colwell et al. 2004).

Deeper in the sediment, thermal alteration of
organic matter generates methane and higher order

Fig. 14.7  A: An idealized cross section of a marine organic rich sedimentary environment, showing biogeochemical
zones in ecological succession (from Claypool and Kaplan 1974). B: Hydrocarbon generation by diagenesis and
catagenesis processes as a function of depth (from Tissot and Welte 1992).
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hydrocarbons by catagenesis (Fig. 14.7B). Catagenesis
occurs within the temperature range of 50° to 200° C,
and gases (methane to butane) are produced at rates
that are proportional to temperature.

At typical oceanic geothermal gradients of 20° to
50° C km-1, sediment depths larger than 1km are
required to produce significant amounts of gas by
thermochemical action. Because thermogenic gas
generation occurs at temperatures significantly
deeper than those found within the GHSZ, high
concentration of thermogenic gases within the GHSZ
generally indicates the existence of a hydrocarbon
migration pathway.

Biogenic and thermogenic gases can usually
be distinguished on the basis of chemical and
isotopic composition. Biological gas is domi-
nantly composed of methane, which is depleted
in 13C relative to thermogenic methane (Whiticar
1999), as shown in Figure 14.8A. Methane
derived from H2 : CO2 is in general more depleted
than that derived from acetate.  The hydrogen
isotope signature may also provide information
on the metabolic pathways, as acetate fermen-
tation yields methane with a δD value lower than
–250 ‰, whereas carbonate fermentation leads
to δD values ranging from –150 to –250 ‰
(Whiticar et al. 1986).

Isotopic discrimination, nevertheless, should
be used with caution. Various environmental
factors such as substrate limitation and tempe-
rature may obscure the δ13C distinction between
thermogenic and biogenic sources.  In addition,

laboratory experiments have shown that during
acetate methanogenesis some of the methyl
hydrogen atoms can exchange with water,
affecting the δD of the methane produced (de
Graaf et al. 1996).

The ratio of methane (C1) to heavier hydro-
carbons, usually expressed as the sum of ethane
and propane (C2 + C3), also provides information
on the methane source.  Biogenic gas consists
predominantly of methane and typically has
values for the [C1/ (C2 + C3)] ratio that are greater
than 103. In thermogenic gas, this ratio is usually
less than 100 (Bernard et al. 1976). Although
recent studies indicate that bacterial activity can
indeed generate higher level hydro-carbons (C2 to
C4), they do not occur at high enough concen-
tration. In Figure 5B, the hydro-carbon ratio is
plotted against the methane isotopic compo-
sition, showing the thermogenic versus biogenic
gas fields.

Elemental and isotopic analyses of hydrate
samples from a variety of settings show that
microbial activity is the dominant methanogenic
pathway in marine sedimentary environments,
such as Blake Ridge (Dickens et al. 1997), Hydrate
Ridge (Suess et al. 2001), Nankai Trough
(Takahasi et al. 2001), Congo-Angola basin
(Charlou et al. 2004) and the Sea of Okhotsk
(Ginsburg et al. 1993).  Hydrates with thermogenic
methane have been recovered from the Gulf of
Mexico (Brooks et al. 1984) and the Caspian Sea
(Ginsburg et al. 1992).

Fig. 14.8 Discrimination of biogenic and thermogenic methane sources based on A.  The carbon and hydrogen isotopic
composition of the methane (after Schoell 1988), and B. The ratio of methane (C1) to higher hydrocarbons (C2 + C3)
plotted against the carbon isotopic composition of methane (from Claypool and Kvenvolden 1983).

14.3 Hydrate Occurrence in the Oceanic Environment
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14.3.4 Methane Transport and Hydrate
Formation

If methane, either from biogenic or thermogenic
sources, is present in high enough concentration
to stabilize the hydrate structure at thermodyna-
mically favourable conditions (Figs. 14.3 and
14.4), it will combine with water to form hydrate.
For methane hydrate to occur, the rain rate of
carbon to the seafloor must be high enough to
supply the required methane via degradation of
organic matter in the sediment.  Hydrate stability
requires gas concentration in the hydrate at least
two orders of magnitude greater than gas
solubility in the liquid phase.  Thus, methane
generation and transport processes are key fac-
tors for constraining global hydrate inventories.

Hydrate Formation by in situ Biogenic Methane
Generation and Transport in Advecting Fluids

The amount of biogenic methane is essentially
controlled by both the availability and reactivity
of organic matter in the upper hundreds of meters
of the sedimentary sequence. Davie and Buffett
(2001, 2003) demonstrated the critical need for
quantitative models of biogenic methane pro-
duction to describe the distribution of gas
hydrate in the top few hundred meters of sedi-
ment. Key parameters are rates of sedimentation,
quality and quantity of the organic matter and
biological activity rates. They show that hydrate
accumulation from in situ production in sediment
with a TOC of 1.5%, will be less than 7% of the
pore volume

If in situ production of biogenic methane is
not adequate to support observed accumulations
within the GHSZ, then additional methane must
migrate from below. Paull et al. (1994), proposed a
mechanism to concentrate methane via recycling
at the base of the GHSZ in the Blake Ridge
hydrate-bearing province. Progressive burial and
subsidence through geologic time shifts the base
of the GHSZ upward, so that deep-seated hydrate
decomposes. As hydrate dissociates, the methane
solubility is surpassed, and free gas permeates
fissures in the overlying hydrate stability layer,
enhancing gas hydrate contents via precipitation
of the “recycled” methane.

Davie and Buffett (2001) also show that both
in situ methane production and transport in
upward migrating saturated fluids are needed to
explain the dissolved chloride profiles observed

in Blake Ridge sediment. Similarly, Hensen and
Wallmann (2005) show that, although organic
carbon degradation in the upper sediments of the
Costa Rica margin can account for 0.4 to 1.1 % of
hydrate content of the sediment, it alone cannot
explain the hydrate distribution in this region.
Furthermore they show that fluid flow may
increase the total amount of hydrate that can be
formed from the organic reservoir in this margin
by more than 50%.

Fluid flow can scavenge methane from a broad
region, thus it is expected that active margins
with pervasive fluid transport would have higher
abundance of gas hydrate. Nevertheless, even
the small rates of fluid flow in passive margins,
play a controlling role on the accumulation of gas
hydrate (Egeberg and Dickens 1999). In fact,
using a mechanistic model for the distribution of
hydrate in marine sediment, Buffet and Archer
(2004) conclude that the global inventory of gas
hydrate is particularly sensitive to both, methane
generation from organic matter and the rate of
fluid flow.

Methane Transport in the Gas Phase

Most disseminated hydrate in marine sediment is
thought to occupy less than 8% of the pore space
of sediments integrated over the GHSZ. However,
there are regions where massive hydrate is known
to form near or at the seafloor.  These shallow
hydrate deposits are usually associated with
areas of fluid venting and gas ebullition
(Mazurenko and Soloviev 2003). Geochemical
modelling of the shallow hydrate at the summit of
southern Hydrate Ridge demonstrates the need
for methane transport in the gas phase. Because
of the low solubility of methane in water,
advection of methane-saturated water is not
enough to sustain the rapid hydrate growth in
this system (Torres et al. 2004).  In general,
methane hydrate will only form large concen-
trated deposits where gas flow is present.

Methane concentration increases with depth
in the sediment due to a combination of pro-
cesses including microbial generation, methane
recycling at the base of the GHSZ, and thermo-
chemical generation at depth. When methane
concentration in the pore water exceeds satura-
tion, methane gas will exolve. However, the
difficulty of nucleating bubbles of small size in
fine-grained porous media can lead to significant
supersaturations. Clennell et al. (2000) provide a



491

comprehensive review of processes involved in
movement of methane in marine sediment, with an
emphasis on how porosity, pore size distribution
and permeability of the sediment control the rates
and mode of transport of gas. They discuss
issues associated with capillary theory, multi-
phase flow, invasion percolation, catenary
transport, and flow in faults and fractures, which
are important to fully understand gas hydrate
formation dynamics in marine systems, but are
beyond the scope of this book. Here we provide a
simplified overview of two mechanisms that are
important in gas transport, but refer the reader to
Clennell et al. (2000) for a more quantitative
treatment of these processes.

Gas Migration Induced by Diapirism

In regions of known diapirism, when overpressure
builds up due to gravitational or fluid loading,
gas migration can occur via faults and fractures.
Here a combination of overpressure and the
buoyancy of expanding gas drive the flow.  If the
flow reaches the surface, a mud volcano will form.
The high advective rates transport methane
bearing fluids, and relatively high temperatures
and sometimes enhanced salinities preclude gas
hydrate formation during methane migration to
the seafloor. These characteristics are typical in
regions such as the Gulf of Mexico (Ruppel et al.
2005), where overpressured fracture zones that
surround moving salt diapirs provide active
conduits for vertical migration from deep
reservoirs to shallow subsurface (e.g. Sassen et
al. 1994). Carbon elemental and isotopic analyses
demonstrate high input of thermogenic methane
in this region (Sassen et al. 1994). Other examples
exist in the Eastern Mediterranean (De Lange and
Brumsack 1998) and the Black Sea (Bohrmann et
al. 2003). Another region of shallow hydrate
formation associated with mud volcanism is the
Håkon Mosby mud volcano in the Norwegian-
Greenland Sea. Mud flow in the volcano is
thought to be driven by the rise of lower density
pre-glacial biogenic silica oozes buried beneath
higher density glacial marine sediments. The
methane in the hydrate here has a mixture of
thermogenic and biogenic sources (Lein et al.
1999). A temperature model (Fig. 14.9) has been
used to show how these fast-rising hot fluids
serve as a methane transport mechanism to the
seafloor, where hydrate content ranges from 10-
20% to 0% by weight (Ginsburg et al. 1999).

Because fluid migration in diapir systems
bring large amounts of gas to very shallow sub-
bottom depths, gas hydrate formation in these
soft sediments can create its own space by
deforming the surrounding matrix (Bohrmann et
al. 1998, Clennell et al. 1999; Torres et al. 2004).
Thus, gas hydrate associated with rapid transport
along faults and fractures are generally more
localized and massive than biogenic deposits
commonly found dispersed within the sediment.

Gas Pressure Driven Flow

Another driving force for methane transport is
the generation of critical pressures in the gas
phase (Flemings et al. 2003; Tréhu et al. 2004).
Interconnection of gas-filled pores below the
GHSZ transmits hydrostatic pressures from
greater depths because of the low density of the
gas phase. The excess (non-hydrostatic) pressure
at the top of the gas layer may be sufficient to

Fig. 14.9 Distribution of gas hydrate (after Egorov et
al. 1999) superimposed on a schematic vertical model of
the temperature field (after Ginsburg et al. 1999) in the
Håkon Mosby Mud Volcano. The gas hydrate stability
zone (GHSZ, shown by bold lines) is determined by
pressure and temperature conditions; the zone of gas
hydrate (GH) accumulation depends on both the thermal
gradient and the flux rate of methane.

14.3 Hydrate Occurrence in the Oceanic Environment
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fracture the sediments and drive gas towards the
seafloor. This process has been postulated for
both passive (Flemings et al. 2003) and active
(Tréhu et al. 2004b) regions, where the volume
fraction of gas is ≥ 10% (Flemings et al. 2003).

In their analyses of past and future state of
the hydrate reservoir, Buffett and Archer (2004b),
suggest that if elevated gas pressures do occur
as a transient response to warming, a rapid
release of methane may be triggered by the
development of critical pressures in the gas
phase. Critical gas pressure below the base of the
gas hydrate stability zone can trigger vertical
migration of free gas to the seafloor.

14.3.5 Gas Hydrate Accumulation in
Sediments and Fabric of Natural
Gas Hydrates

Drilling of marine sediment cores as well as seafloor
sampling by research vessels confirmed the presence
of gas hydrate in sediments defined by the stability

field as described in section 14.3.1. Conventional
research vessels are only able to sample shallow
sediments close to the seafloor, thus drilling campaigns
are needed to investigate the distribution of gas
hydrates deeper within the stability field. Because gas
hydrates decompose rapidly when removed from the
high-pressure, deep-water environments in which they
form, the in situ distribution of gas hydrate must be
estimated using various proxy techniques, each of
which may have different sensitivity and spatial
resolution (Tréhu et al. 2004a). Leg 164 of the Ocean
Drilling Program (ODP) drilled several sites on the Blake
Ridge, in the first dedicated academic effort to
investigate naturally occurring gas hydrates in marine
sediments (Paull et al. 1996). Estimates made using
diverse gas-hydrate proxies revealed that gas hydrate
occupies ~ 1% to 10% of the pore space in the sediment
interval from 200 to ~450 mbsf. The hydrate occurs
dispersed within the pore-space of fine-grained
sediments or within fractures and faults (Paull et al.
1996). The distribution of fine grained gas hydrate
within the lithologically uniform drift sediments of the

Fig. 14.10 Average gas hydrate concentrations in sediments from southern Hydrate Ridge deduced by drilling during ODP
Leg 204 using a multi proxy approach (from Tréhu et al. 2004a). Upper left: Bathymetric map of the region studied during
ODP Leg 204 and the lateral extend of zones of different gas hydrate content, estimated by averaging the data from the sea
floor to the BSR. Location of seismic profiles and the drill sites are also shown. Gas hydrate concentrations as percentage of
pore space shown in white bold numbers were estimated as average concentrations in the GHSZ.
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Blake Ridge was surprisingly heterogeneous and could
not be explained in detail, except for the observation
of two weakly defined zones where higher hydrate
concentrations may indeed be caused by small
differences in lithology.

Researchers involved in ODP Leg 204 generated
the first high-resolution data set on the three-
dimensional distribution of gas hydrate within Hydrate
Ridge, in the Cascadia subduction zone (Tréhu et al.
2003). Several gas hydrate proxies were combined, and
thus, the problem of spatial under-sampling inherent
in methods traditionally used for estimating the gas
hydrate was overcome (Tréhu et al. 2004a). The average
gas hydrate content of sediments within the gas
hydrate stability zone was estimated to be 1-2% of the
pore space. Patchy zones of locally higher
concentrations on the ridge flanks occur below ~ 40
mbsf, are structurally and stratigraphically controlled
and occupy up to 20% of the pore space (Fig. 14.10).
In contrast to this overall hydrate distribution, a high
average gas hydrate content of 30-40% of pore space
was found on the upper 30-40 mbsf at the ridge summit.
Cores containing hydrate in massive chunks, lenses,
plates and nodules, where recovered from an area
where there is persistent and vigorous venting of
methane gas (Heeschen et al. 2003).

A variety of gas hydrate samples were recovered
from the southern summit of Hydrate Ridge by de-
ploying a TV-guided grab on visible hydrate
outcrops (Suess et al. 1999, 2001). Due to a self-
preservation effect (Yakushev and Istomin 1992),
massive hydrate shows little indication of decom-
position, and samples from the inner part of the TV-
grab appeared to be relatively pristine (Fig. 14.11).
Scanning electron microscopic work revealed that
only in very porous samples there was water-ice
formation (Fig. 14.11B; Kuhs et al. 2004). On a
macroscopic scale, pure white gas hydrate occurs
in layers or joints several millimeters to centimeters
thick. The layers are generally oriented parallel to
the bedding planes and in some cases very massive
hydrates of up to 10 cm in thickness have been
observed (Fig. 14.11). Gas hydrate either fills large
pore space in fractures or joints, or it creates its
own space by fracturing or pushing apart the
sediment framework during growth, most often along
bedding planes. The result of such an active crystal
growth is that the original sediment fabric is dis-
turbed and mud clasts are formed. In many cases internal
brecciation of the sediment was observed in which the
angular edges of the clasts often fit with the edges of
neighboring clasts (Fig. 14.11A).

Fig. 14.11  Hydrate fabrics typical for shallow gas hydrate specimens (A, C and D): sediment-hydrate interlayering (A),
pure dense hydrate layer (C), and highly porous bubble-shaped framework (D) B: Field-electron scanning micrograph of
hydrate surrounded by bubble-shaped ice.

14.3 Hydrate Occurrence in the Oceanic Environment
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The internal fabric of pure gas hydrate has a
peculiar structure with pores that result from rising
methane gas. Such pores occur in variable sizes, and
in some specimens very large pores of up to 3-4 cm in
diameter can be observed (Fig.14.11D). The fabric is
similar to that of gas hydrates experimentally formed
on the sea-floor (Brewer et al. 1997). There are several
lines of evidence that support migration of methane
gas from a reservoir located beneath the GHSZ, which
either turns into macroscopic porous gas hydrates or
escapes at the seafloor. A variety of mechanisms are
currently under investigation to determine how free
gas pass through the gas hydrate stability zone.  Gas
may migrate through fractures or along tensional
faults, in which all water is trapped in the gas hydrates,
or gas hydrate formation may be inhibited by capillary
forces or by localized high salinity zones. The free
gas stream may move upwards very fast up to an area
where conditions are favorable to form gas hydrates.
Hydrate formation may plug up the migration con-
duits, and as high gas pressure builds up, the gas
may be rerouted into soft sediment layers. The dyna-
mic processes that interact with a complicated plum-
ping system may be responsible for the large variety
of gas hydrate and sediment fabrics observed.

Macroscopic hydrate fabrics deeper within the
stability zone are very different from the near-surface
deposits because at depth hydrate formation is
constrained by the pore space in which hydrate
precipitates. Abegg et al. (submitted) have inves-

tigated whole-round sediment samples from hydrate
intervals, which were frozen in liquid nitrogen
immediately after recovery. Nearly 60 frozen hydrate
samples, covering a wide depth range of the gas
hydrate occurrence zone (GHOZ) of southern Hydrate
Ridge, were investigated by X-ray computerized
tomography (CT). All sub-surface hydrate samples
appear as veins or veinlets with dipping angels of more
than 30° up to vertical dipping. Such hydrates are
clearly precipitates filling tectonic fractures and/or
faults deeper in the sediments (Fig. 14.12), where the
geo-mechanical properties of the sediment preclude
massive hydrate formation.  These structures are in
clear contrast to those of the gas hydrate that outcrops
at the seafloor (Fig. 14.11).

14.4 Pore Water Anomalies
Associated with Gas Hydrate
Formation and Decomposition

Gas hydrate formation involves the removal of water
molecules from the surrounding pore water, as they
are sequestered in the clathrate lattice. Removal of
water, with the exclusion of the dissolved ions, leads
to changes in the concentration of salts in the pore
water. Because chloride is an abundant and usually
conservative ion in pore waters of shallow marine
sediment, changes in dissolved chloride content are

Fig. 14.12 CT-images of a core section at 87 m below sea-floor (ODP Site 1248 from Hydrate Ridge) showing that gas
hydrate is filling a vertical fracture (low density is displayed in dark and high density is shown by lighter colour). A: CT-slice
through the core B: CT-overview of the core section documenting the dipping of the hydrate-filled fracture parallel to the
core (from Abegg et al. subm.).
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14.4 Pore Water Anomalies Associated with Gas Hydrate Formation and Decomposition

commonly used to monitor formation and decompo-
sition of gas hydrate deposits.  In addition, formation
of the hydrate lattice results in preferential uptake of
the heavy oxygen and hydrogen atoms in the solid
phase, with consequent depletion in the pore water.
These two pore water parameters: dissolved chloride
and the isotopic composition of the water itself, have
been widely used to identify and quantify hydrate
distribution and the dynamic processes involved in
formation and destabilization of these deposits.

14.4.1 Gas Hydrate and Chloride Anomalies

The “Ion Exclusion” Effect

It has long been recognized that the formation
and decomposition of gas hydrate lead to
changes in dissolved chloride concentration of
marine pore fluids (e.g. Hesse and Harrison 1981).
Gas hydrates, like normal ice, exclude salts from
the crystal structure, thus increasing the salinity

Fig. 14.13 Cartoon illustrating how gas hydrate formation increases the salinity of the adjacent interstitial pore fluid, and
subsequent dissipation of the chloride anomaly via diffusion over time. A. Shows system before hydrate formation, sodium
and chloride ions homogeneously distributed in the pore fluid. B. When gas hydrate forms, ions are excluded from the crystal
lattice, and the pore fluids become saltier at the foci of hydrate formation.  Right panel illustrates a 56 mM anomaly created
by formation of gas hydrate that occupies 9% of the pore space. C. Over time the excess ions diffuse away, as illustrated by
the diffusional decay model showing dissolved chloride profiles at 1,000 and 10,000 years. D. After 100,000 years, the
chloride anomaly is smaller than that which can be detected with current analytical techniques.  The 1-dimensional model
assumes that the half width of the concentration spike to be 5 meters, a sediment porosity of 50% and the free solution
diffusion coefficient for the chloride ion of 1.86 x 10-5 cm2s-1 at 25 oC (modified from Ussler and Paull 2001).
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of the surrounding water. The change in inter-
stitial ion concentration resulting from this “ion
exclusion” mechanism is proportional to the
amount of gas hydrate that is formed. Ussler and
Paul (2001) use a simple cartoon to represent the
effect on pore water salinity at the foci of gas
hydrate formation (Fig. 14.13). They further
modelled the diffusive attenuation of the chloride
anomaly over time, and showed that a positive
anomaly of 56 mM (created by formation of
hydrate that occupies ~9% of the pore space) will
not be detected with current analytical methods
after about 40,000 years (Fig. 14.13).

Various numerical models have shown that
generating gas hydrate to a concentration of
~10% of the pore space, in both passive and
active settings (e.g. Blake Ridge, Hydrate Ridge;
Nimblett and Ruppel 2003) probably required
formation times of at least 103, and perhaps as
much 106 years. Therefore, if chloride behaved
conservatively, the pore water in contact with
these deposits should have a chloride concen-
tration similar to seawater. This is, however, not
commonly the case.  Indeed, fluids with chloride
concentration significantly lower than seawater
have been sampled from most convergent margins
and such “freshening” has been attributed to gas
hydrate dissociation and dehydration of hydrous
minerals at depth (e.g. Gieskes et al. 1990;
Kastner et al. 1991). The issue of background
chloride concentration, and an example of a
chloride ano-maly created by natural gas hydrate
dissociation is described in the following
sections.

In situ chloride concentration in pore fluids of
hydrate-bearing sediments also show enrich-
ments relative to seawater in some natural sys-
tems. These occur when the geological setting
supports formation of brines, or when gas hy-
drate forms so rapidly that the resulting excess
ions do not have sufficient time to diffuse away.
These scenarios are also discussed below.

Estimating Gas Hydrate Abundance Using
Dissolved Chloride Data

Because gas hydrate is not stable at the temperature
and pressure conditions that exist at the sea surface,
most estimates of the in situ distribution and con-
centration of gas hydrate rely on a variety of proxies.
Perhaps the most widely used of these proxies is based
on the accurate measurement of dissolved chloride in
the pore fluids. During core recovery, gas hydrate

dissociates, resulting in dilution of the chloride
concentration by addition of water sequestered in the
gas hydrate lattice prior to core recovery.  The negative
chloride anomalies relative to in situ chloride concen-
trations are proportional to the amount of gas hydrate
in a sediment sample. Uncertainties in the estimates of
gas hydrate abundance using the dissolved chloride
proxy arise from a paucity of information on (1) the in
situ dissolved chloride values, (2) the chloride content
potentially trapped within the pores of the gas
hydrates, and (3) the spatial sampling resolution.

There is to date no reliable data on the amount
of Cl– sequestered by the hydrate cage because
the physical separation of the water released by
natural hydrate dissociation from pore water con-
tamination can be very difficult. Suess et al.
(2001) suggest that there may be residual chloride
trapped within the hydrate pore space. Never-
theless, since this number is small and very
poorly defined, most estimates of hydrate abun-
dance in marine sediments assume that hydrate
formation excludes all dissolved ions.

If the amount of chloride ions trapped in the hydrate
structure is assumed to be negligible, the measured
chloride concentration after hydrate dissociation can
be related to the hydrate abundance by the following
equation (see Ussler and Paull 2001 for derivation).

       Cl-
s/Cl-

o = 1-[Vh/(w-Vh(w-1))]                        (1)

where Cl-
s is the chloride concentration in the

sample (i.e. after hydrate decomposition), Cl-
o is

the pore water concentration in situ (prior to
decomposition), Vh is the volume fraction of
hydrate filling pore space, and w represents the
occupancy-density characteristics of the gas
hydrate formed, as calculated from:

w = ρwMh/(ρhMw mw) (2)

Here, ρw and ρh are the densities of fresh water and
gas hydrate respectively, and mw is the number of
moles of fresh water contained in 1 mole of gas
hydrate. Mw and Mh represent the molecular weights
of water and gas hydrate, respectively. The value of
Mh depends on the degree of occupancy of the
hydrate structure.  When the structure is fully
occupied, 1 mole of gas hydrate contains 5.9 moles
of water, its density is 910 kg m-3 and its molecular
weight is 122.2 g mol-1 (Ussler and Paull 2001).

The use of the chloride proxy is predicated on the
assumption that the background chloride concen-
tration is known and that the rate of hydrate formation
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is slow enough that high chloride anomalies resulting
from salt exclusion during hydrate formation have been
removed by diffusion and advection.  A recurrent issue
in these studies is the need for a robust estimate of
the background chloride values (Clo in equation 3)
against which the anomalous discrete excursions can
be calculated.

Ussler and Paull (2001) nicely illustrate the
effect that selecting various values for Clo has on
the estimate of gas hydrate concentration, by
comparing two approaches for estimating pore
water baselines (Fig. 14.14). Using examples from
a passive (Site 997, Blake Ridge) and active
margin (Site 889, northern Cascadia margin), they
clearly illustrate that simply assuming seawater
dissolved chloride values as a baseline against
which to measure the degree of dilution, in most
cases will give wrong results. The smoothed
baseline approach produces an estimate of gas
hydrate more consistent with other independent
hydrate proxies, and with the phase change that

occurs at the bottom of the GHSZ.  To construct
robust estimates of the hydrate abundance based
on the dissolved chloride proxy, it is important to
understand the processes that affect the in situ
chloride distribution at each location.

The low chloride values measured below the
BSR at sites drilled on the Blake Ridge (passive
margin setting) have been attributed to long-term
hydrate melting below the gas hydrate stability
zone. A more pronounced freshening is observed
in pore waters from active margin settings, as
observed at Sites 889 in the northern Cascadia
margin (Fig. 14.14), and in the Middle America
trench at Sites 497, 498 (Harrison and Curiale
1982) and 568 (Hesse et al. 1985). It was unclear,
though, if this deep freshening effect was due to
gas hydrate processes or to other reactions
independent of hydrate formation (Ussler and
Paull 2001).

Data generated by drilling along an east-west
transect in the southern Hydrate Ridge region

Fig. 14.14 Comparison of estimates of hydrate concentration based on two approaches for estimating the background
chloride concentration (Cl-

o in equation 3).  Upper panel uses data from a passive margin (Site 997, Blake Ridge) and
bottom panel shows data collected at an active margin (Site 889, northern Cascadia margin). In both cases, the shaded
area denotes the region where gas hydrate is believed to be present, and the BSR denotes the geophysical reflector that
indicates the bottom of the gas hydrate stability zone. The use of a modern seawater baseline predicts much larger
amounts of gas hydrate, and suggests the presence of gas hydrate below the GHSZ (from Ussler and Paull 2001).

14.4 Pore Water Anomalies Associated with Gas Hydrate Formation and Decomposition
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has recently shown the separate effects of clay
dehydration reactions and gas hydrate dissoci-
ation on the dissolved Cl- distribution. These data
provide geochemical evidence to evaluate the
baseline question, and provide an example of a
system where hydrate is present and background
chloride contents do not deviate significantly
from seawater values (Torres et al. 2004). As
shown in Fig. 14.15, Sites 1244 and 1245 both
have very similar gas hydrate contents, averaging
2-4 % within the gas hydrate stability zone, and

concentrated in patchy zones that contain up to
20 % hydrate (Tréhu et al. 2004).  These two sites,
however, have highly different chloride baselines
(Fig. 14.15). In addition, there is very little gas
hydrate presence at Site 1252, as evidenced by
various proxy measurements, including chloride
data (Tréhu et al. 2004a), even though the trend
to low chloride values is well defined at this site.

The observed freshening with depth and distance
from the prism toe is consistent with enhanced
conversion of smectite to illite, driven by increase in

Fig. 14.15  Chloride freshening due to progressive illitization along the Cascadia margin accretionary margin.  A.
Tectonic setting. B. Details of sites drilled during ODP Leg 204, showing the gas hydrate distribution. C. Location of
the sites relative to a schematic transect arcward from the incoming plate, the relative site locations are not to
scale. D. Dissolved chloride at sites drilled less than 10 km away from the toe of the prism, showing no significant
freshening at depth.  Gas hydrate is apparent in discrete anomalies in the GHSZ. E. Freshening of deep fluids from
sites drilled at various distances from the prism toe. F. Increase in pore fluid freshening of mélange samples with
distance from the prism toe, consistent with progressive illitization as mélange sequences are exposed to higher
temperatures over longer time periods (Figure modified from Torres et al. 2004).
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temperature and age of accreted sediments (Fig. 14.15).
Whereas discrete negative anomalies within the GHSZ
are indeed the result of gas hydrate dissociation during
core recovery, the smooth decrease with depth is
independent of gas hydrate processes, and instead
reflects the degree of illitization at depth.  These results
indicate that the smooth decrease with depth, com-
monly observed at sites drilled over accreted mélan-
ges, is not directly related to gas hydrate abundance.
Instead, chloride anomalies associated with gas
hydrate should be calculated from discrete excursions
to negative values against a background defined by
the envelope of the measurements. In order to
confidently define the dissolved chloride background
concentration, care should be taken in obtaining
enough resolution of the pore fluid sampling.

The presence of negative “spikes” in the
chloride distribution suggests that the distribu-
tion of gas hydrate in marine sediments is highly
heterogeneous. Whereas some observations re-
veal association of hydrate with coarse, high
porosity horizons (Clennell et al. 1999), the
factors controlling distribution of gas hydrate are
not fully understood. Nevertheless, the question
remains as to whether the patchy distribution of
these deposits can be adequately mapped with
pore water analyses. Limitations on how much
pore water can be extracted from a section of the
core, how many core sections can be dedicated to
these analyses, and the time needed for each
measurement, usually only allow for sparse
measurements of the pore water composition.

Fig. 14.16 Comparison of ∆T anomalies (blue lines) to gas hydrate content estimated from discrete anomalies in the
dissolved chloride distribution (red lines), and given as percent occupancy of the pore space, for 3 sites drilled during ODP
Leg 204. Green lines denote estimates based on data from pressure core barrel deployments. Horizontal (dashed) lines denote
the depth of seismic reflectors corresponding to the bottom of the GHSZ (BSR). Location of the sites is shown in Figure 11.
Insert B shows the temperature profile derived from an infrared image in the vicinity of a 2 cm-hydrate layer recovered
from Site 1245, and the corresponding chloride concentration in closely-spaced pore water samples. The apparent offset in
depth between the two graphs is due to the removal of core as gas expansion voids between the time when the IR data was
collected and the pore water samples were taken (modified from Tréhu et al. 2004a).

14.4 Pore Water Anomalies Associated with Gas Hydrate Formation and Decomposition
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Typical deep-sea drilling sampling resolution is
on the order of one sample every 3 to 10 meters.

Other proxies have been developed to pro-
duce a more continuous, high resolution record
of hydrate distribution in marine sediments.
Among these, the use of an infrared (IR) camera
to map cold spots in the core resulting from the
endothermic decomposition of gas hydrate has
proven to be highly effective (e.g. Weinberg et al.
2005). However the absolute value of the
temperature measured by the IR camera depends
on many different variables, including time of day,
core depth and coring technique (Tréhu et al.
2003), and plots of temperature along the core are
very noisy.  A simple way of parametizing and
displaying the IR temperature data is to define ∆T
as the temperature anomaly relative to the local
background. High-resolution measurements of
chloride anomalies in core sections previously
imaged with an IR camera can provide a
calibration function needed to correlate the
temperature anomaly with hydrate content, as
shown in Figure 14.16B.  These data, not only
provide a means of calibrating the temperature
anomalies, but also illustrates how a discrete
hydrate layer can be easily missed with coarse
sampling resolution. Samples collected from a 2-
cm-thick hydrate layer and as much as 5 cm away
from it show significant anomalies in the chloride
content, whereas samples collected at distances

>10 cm from the hydrate layer do not show any
deviation from the background chloride values
(Fig. 14.15).

Whereas the dissolved chloride measurements
alone may not fully constrain the gas hydrate
distribution, the good correlation between
dissolved chloride and temperature anomalies
shown in Figure 14.16 (Tréhu et al. 2004a), gives
support to the use of a combined ∆T-∆Cl approach
to best define an heterogeneous hydrate distri-
bution. An understanding of the spatial varia-
bility in gas hydrate distribution may provide
valuable insights into the possible response of
these deposits to tectonic and environmental
change.

Gas Hydrate Destabilization via Natural Processes

If environmental changes induce gas hydrate
dissociation, the negative anomaly associated
with water release would be attenuated over time
by diffusion processes. The mathematical treat-
ment of the signal attenuation is analogous to
that described above for hydrate formation. An
example of the chloride attenuation from natural
dissociation processes on Hydrate Ridge is
described by Bangs et al. (2005). These authors
explain the presence of a double BSR in the
seismic records as a remnant of a BSRS that
probably formed during the last glacial maximum

Fig. 14.17 A. Diagram illustrating the double BSR observed in seismic data in the vicinity of Site 1247. B. Chloride
concentration in pore waters from site 1247, compared with expected values derived from a diffusive attenuation model
following gas hydrate dissociation. The assumed hydrate content at time zero has a width of 10 m and a magnitude
comparable to the anomaly observed just above the present BSR (BSRp).  The data suggest that the hydrate dissociation
occurred 5000 yrs ago.  The authors postulate that pressure and temperature changes in the period of 8000 to 4000 years
ago, led to a shift in the depth of the hydrate stability zone, creating the double BSR (modified from Bangs et al. 2005).
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(18,000 years ago). An increase in temperature of
3.3 oC that followed the last glaciation will shift of
the hydrate stability by ~140 meters, which coup-
led with a concomitant sea-level rise of ~120
meters, results in an approximate net shift of the
hydrate stability horizon of ~20 meters (Bangs et
al. 2005). Among other evidence, the authors use
a diffusion driven attenuation of the freshening
signal induced by hydrate dissociation when the
GHSZ shifted to a shallower depth. They show
that the observed dissolved chloride distribution
at a site drilled through the double BSR is
consistent with a BSR shift that occurred 4,000 to
8,000 years ago (Fig. 14.17). This time frame, when
analyzed in the context of thermal propagation lag
in the sediment section and potential lag due to
latent heat needed to dissociate hydrate, is

consistent with P/T changes in the water column
that occurred at the end of the LGM (Bangs et al.
2005). A shift of the depth of hydrate stability
associated with post-glaciation P/T changes, has
also been suggested by others for Northern Cas-
cadia (Westbrook et al. 1994), southwestern Japan
(Foucher et al. 2002) and the Norwegian margin
(Mienert et al. 1998).

Pore Water Brines

In the large body of gas-hydrate bearing
locations drilled to date, the dissolved chloride
show lower than seawater values (see reviews by
Ussler and Paull 2001; Hesse 2003).  However,
there are examples of gas hydrate bearing sites in
which the dissolved chloride in the pore fluids is

Fig. 14.18  Upper panel illustrates dissolved chloride concentration in pore waters collected from the summit of Hydrate
Ridge during ODP leg 204 (Sites 1249, 1250, from Torres et al. 2004) and from a gravity core recovered from this area
during RV SONNE expedition SO-143 (Haeckel et al. 2004). These data (panels A-C) indicate that hydrate is forming at
very fast rates, so as to maintain the extremely high chloride values.  Furthermore, to sustain the rapid formation rates,
Torres et al. (2004) and Haeckel et al. (2004) show that methane must be supplied in the gas phase, as illustrated by the
cartoon in panel.  Methane solubility in seawater is too low for aqueous transport to deliver sufficient methane to form the
observed hydrate deposits. D. Mass balance calculations based on a simple box model (E) indicate that the massive deposits
recovered from the Hydrate Ridge summit probably formed in a period of the order of 100’s to 1000’s of years, highlighting
the dynamic nature of these near-surface deposits (modified from Torres et al. 2004 and Haeckel et al. 2004).

14.4 Pore Water Anomalies Associated with Gas Hydrate Formation and Decomposition
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higher than that of seawater. Most commonly
these brines are associated with regions where
the presence of old evaporites (e.g. Milano Dome,
ODP Site 970 in the eastern Mediterranean,
DeLange and Brumsack 1998), or salt-diapir
intrusions (e.g. Blake Ridge Diapir ODP Site 996,
Egeberg and Dickens 1999; mud volcanoes in the
Northern Gulf of Mexico, Ruppel et al. 2005) leads
to the enhanced chloride content. In addition to
these settings, high dissolved chloride concen-
tration associated with hydration reactions in the
vicinity of an active spreading ridge was reported
from ODP Sites 859 and 860 in the accretionary
wedge at the Chile Triple Junction (Froelich et al.
1995).

In contrast to these regions in which brines
are produced by geological processes, at the
Hydrate Ridge summit, the high chloride brines
observed (Haeckel et al. 2004; Torres et al. 2004)
are generated by the rapid formation of gas
hydrate deposits near the seafloor (Fig. 14.18).  A
one-dimensional transport-reaction model was
used to simulate this chloride enrichment and
place constrains on the mechanisms and time
frames necessary to produce the observed
concomitant massive hydrate deposition at the
ridge summit. The models of Torres et al. (2004)
and Haeckel et al. (2004) demonstrate the need for
the presence of a fluid-gas mixture through the
GHSZ, since the observed chloride enrichment
cannot be generated exclusively from the
transport of methane dissolved in the pore fluids.
These massive hydrate deposits are forming very
rapidly, and the continuous supply of methane
gas maintains the pore water brines and the
shallow gas hydrate deposits in contact with the
methane-poor bottom seawater.

14.4.2 Gas Hydrate and Water Isotope
Anomalies

The water sequestered in the hydrate lattice is
preferentially enriched in 18O and deuterium (D), thus
the isotopic composition of the water in the pore
spaces collected from gas hydrate bearing sediment
can provide additional information on the abundance
and the characteristics of these deposits.  Pore fluid
samples that had been modified by hydrate
decomposition upon core recovery during ODP Legs
146 (Kastner et al. 1998), and 164 (Matsumoto and
Borowski 2000) provided the first field data to derive
the oxygen isotope fractionation factor for in situ
hydrate formation.  A more comprehensive sampling

protocol was subsequently conducted during Leg 204
(Tomaru et al. submitted). These calculations are based
on the percent variation of Cl- relative to background
(∆Cl-):

100)1( ×−=∆ − fCl (3)

where f is a fraction of formation water in sampled
water given by:

0
−
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Cl-
S and Cl-

0 are the Cl- concentrations of sampled and
formation water (i.e., in situ interstitial water)
determined as background, respectively. The
fractionation factors for oxygen (αO) and hydrogen
(αH) can be determined from equilibrium equation, such
that:

)1(ln10000 fGH −⋅⋅=−=∆ αδδδ (5)

where αGH and α0 are is δ18O or δD values for gas
hydrate and formation (background) water.

Figure 14.19 illustrates how the fractionation of
18O to 16O and H to D between pore water, and water
derived from hydrate dissociation is related to the
fractionation under in situ conditions, assuming a
closed system. The average values of αO and αH from
Leg 204 samples with negative ∆Cl- are calculated to
be 1.0025 and 1.022. These fractionation factors agree
with previously estimated αO values from Leg 146
(Kastner et al. 1998) and Leg 164 (Matsumoto and
Borowski 2000), and with the extrapolated αH value
from Leg 112 (Kvenvolden and Kastner 1990).

Figure 14.19 illustrates the fractionation factors for
in situ hydrate formation that correspond to
experimentally obtained values for oxygen (αο: 1.0023
to 1.0032) and for hydrogen (αH :1.014 to 1.022)
(Maekawa 2004). Analyses of pore water samples from
a pore water brine sampled during Leg 204 reveal the
oxygen and hydrogen isotopic fractionation during
hydrate formation in natural systems. There are special
challenges in fully constraining these values, since
the dissolved chloride data from these brines reflects
a mixture of the in situ fluids, with an unknown amount
of fresh water added by hydrate dissociation during
sample recovery. Nevertheless, Tomaru et al. (sub-
mitted) show that the isotopic fractionation in these
massive deposits departs significantly from experi-
mental data. More research is needed to fully under-
stand these deviations.
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14.5 Gas Hydrate Carbonate
Formation and Anaerobic
Oxidation of Methane

14.5.1 Petrographic Characteristics of
Clathrites

Authigenic carbonates are common features at seafloor
seepage sites where fluids enriched in methane or
oversaturated in bicarbonate escape from seafloor.
Various investigators have described a particularly

large variety of carbonates from the Cascadia margin
(Kulm et al. 1986; Ritger et al. 1987; Sample and Reid
1998; Greinert et al. 2001). Detailed petrographic,
mineralogical and isotopic work was performed on a
wide collection of samples that document several
petrographically distinct lithologies. Carbonates
occurr in boulder fields or in massive autochthonous
chemoherm complexes (Teichert et al. 2005a). Other
carbonates were sampled in direct contact with
hydrates and in others, a direct relationship to gas
hydrates was recognized (Bohrmann et al. 1998;
Teichert et al. 2004). There are two main lithologies: a
breccia composed of micrite-cemented monomict
clasts, and pure aragonite of various appearances.

The breccia show angular clasts composed of the
same fine-grained material as the terrigenous soft
sediment on the seafloor, and submicrometer anhedral
Mg-calcite crystals have been observed in the
intergranular pore space between the terrigenous
components (Bohrmann et al. 1998; Greinert et al. 2001).
Although the grain-supported texture (Figs. 14.20A
and 14.20B) shows up to 20-30% pore space, the clasts
do not appear to have been transported over longer
distances. The breccia is thought to form by the
collapse of the clasts when gas hydrate in the sediment
dissociates, followed by cementation with Mg-calcite
and aragonite.

The second obvious carbonate lithology is com-
posed of aragonite precipitates, that appear either as
pure isopachous fringe cements (Fig. 14.20B) or as
yellow layers of remarkable purity (Figs. 14.20A,
14.20C, and 14.20E). Pieces of isolated yellow aragonite
layers have often been found associated with gas
hydrates. Such layers have variable thicknesses of 1
to 3 cm, occur often in pieces of 10 to 20 cm in diameter
and reveal truncated edges. The continuous aragonite
layers grow directly within pure gas hydrate layers
parallel to stratification and are therefore free of
terrigenous sediment impurities. In several cases the
aragonite precipitates have been directly recovered
from within pure gas-hydrate layers (Greinert et al.
2001). The precipitates often exhibit a shape that
partially images the inner surface morphology of the
gas hydrate bubble fabric (Fig. 14.20E).

Such gas hydrate carbonates are also called
clathrites and form archives in which geochemical
processes of clathrate and clathrite formation is
well documented (Teichert et al. 2005b). Their
carbon isotope values range from -40‰ to -54‰
PDB, identifying methane as the dominant carbon
source (Fig. 14.21). Bohrmann et al. (1998)
analyzed mixtures of Mg-calcite and aragonite
and showed that their oxygen isotopic composi-

Fig. 14.19 Isotopic fractionation between water in the
pore fluid and water in the hydrate lattice as a function of
chloride anomalies (∆Cl).  Hydrate dissociation causes
chloride dilution and 18O, D enrichment. The fractionation
factors α0 = 1.0025 and αH = 1.022 are based on data from
low-chloride pore waters recovered from Hydrate Ridge
during ODP Leg 204. They are in agreement with previous
estimates from Legs 146 and 164, as well as with experi-
mentally determined values during hydrate formation
shown by open circles.  Samples collected from pore water
brines deviate considerably from expected values (from
Tomaru et al., submitted).
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tion varies as a function of mineralogy (Fig.
14.21). The δ18O value of the aragonite end-
member (+3.68‰ PDB) is lower than the δ18O of
Mg-calcite (+4.86‰ PDB). By using appropriate
isotope fractionation equations for each mineral,
Bohrmann et al. (1998) calculated the oxygen
isotopic composition of the pore water from
which the carbonates precipitated. They found
that the aragonite incorporates the isotopic
composition of standard mean ocean water
(SMOW) under recent seafloor conditions, when
gas hydrates are also forming. In contrast, Mg-
calcite most likely precipitated in response to
destabilization of gas hydrates, because the pore
water from which Mg-calcite precipitated is
enriched in 18O relative to SMOW. Similar
associations have since been documented for
authigenic carbonate recovered from the Gulf of
Mexico (Formolo et al. 2004), further establishing
that these minerals are valuable records of gas
hydrate formation and destabilization through
geologic time.

14.5.2 Carbonate Precipitation through
Microbial Activity

Methane from gas hydrates greatly stimulates the
entire ecosystem at cold seeps. (Suess et al. 2001,
Sahling et al. 2002). On the basis of quantitative
analyses of pore water sulfate and methane profiles,
corroborated by isotopic mass balance models,
geochemists postulated the anaerobic oxidation of
methane (AOM) via sulfate reduction, as a dominant
microbial process at cold seeps. (Suess and Whiticar
1989; Borowski et al. 1999), However, the AOM
remained controversial for several years because the
microbes responsible for this reaction proved to be
very elusive. Only recently was a microbial consortium
of methanotrophic archaea and sulfate-reducing
bacteria identified on gas hydrate-bearing samples
from Hydrate Ridge (Boetius et al. 2000). This
interesting discovery was followed by similar findings
on cold seeps and hydrate deposits in the Eel river
basin (Orphan et al. 2004) and the Gulf of Mexico (Joye
et al. 2004). These consortia consists of an inner sphere

Fig. 14.20 (A) Vertical section trough an authigenic carbonate layer, showing a continuous aragonite (light) layer and
fringe cements around Mg-calcite-cemented clasts. (B) Detail of the breccia. (C) Botryoidal features from the surface of
the pure aragonite layer. (D) Bubble fabric of a pure methane hydrate layer and (E) corresponding aragonite layer imaging
the bubble structure.
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containing about 100 archaeal cells surrounded by
about 200 cells of sulfate reducing bacteria (Fig. 14.22),
and it operates via two possible separate reactions.

The archaea oxidize methane:

CH4 + 2H2O → CO2 + 4H2                                                            (6)

And sulfate reducing bacteria may act in two ways,
indicated by reactions (7) and (8)

SO4
2- + 4H2 + H+ → HS- + 4H2O                                     (7)

SO4
2- + CH3COOH + 2H+→ 2CO2 + H2S + 4H2O       (8)

Both reaction pathways are under discussion and
it is not totally clear whether hydrogen is directly
consumed (equation 7) or acetate is used (equation 8),
though scavenging of H2 will enhance the effec-
tiveness of reaction (6). The net reaction can be
summarized in the following equation,

CH4 + SO4
2- → HCO3

-+ HS- + H2O                          (9)

The metabolic coupling involved in AOM, produces
sulfide and dissolved inorganic carbon. Both methane
and sulfate needed for AOM, are available in large
amounts where methane vents are present at the sea-
floor. In the case of Hydrate Ridge, gas hydrates provide
an almost inexhaustible supply of methane and the ocean
water constitutes a large sulfate reservoir. Here the
anaerobic methane oxidation rate is large because of the
conti-nuous supply of methane from deeper sediments.

Fig. 14.21 Carbon and oxygen isotope values from gas
hydrate carbonates of southern Hydrate Ridge. The carbo-
nates are mixtures between Mg-calcite and aragonite; note
the variation in oxygen isotope values with changing
aragonite content (Bohrmann et al. 1998).

Fig. 14.22 Schematic illustration of gas hydrate deposits and biogeochemical reactions in near-surface sediments on
southern Hydrate Ridge. High gradients in pore water sulfate and methane are typical of methane hydrate-rich
environment close to sulfate-rich seawater. At the sulfate-methane interface (also named sulphate-methane transition in
earlier chapters of the book) a microbial consortium of methanothrophic archaea and sulfate-reducing bacteria (Boetius et
al. 2000) perform anaerobic oxidation of methane (AOM) leading to carbonate precipitation. AOM rates influence
hydrogen sulfide fluxes and gradients, which are reflected on the seafloor by the distribution of vent communities around
active gas seeps and gas hydrate exposures (Sahling et al. 2002).

14.5 Gas Hydrate Carbonate Formation and Anaerobic Oxidation of Methane
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The formation of hydrogen sulfide constitutes an
energy source for chemoautotrophic organisms living
on the seafloor. The colonization of the seeps depends
on the local H2S-gradient generated by AOM (Barry
and Kochevar 1998; Sahling et al. 2002). The sulfide-
oxidizing bacterium Beggiatoa, is usually found
forming mats in areas with very high sulfide flux.
Calyptogena clams, typically colonize areas with lower
sulfide concentrations and surround the Beggiatoa
mats. Acharax clams live in burrows within the
sediment and are restricted to environments of very
low sulfide concentration (Fig. 14.22). In addition to
sulfide production, AOM increases carbonate alka-
linity, which drives pervasive carbonate precipitation.
The high concentration of bicarbonate as respiration
product (equation 9), the presence of microbial
surfaces, and the exudation of organic polymers that
can bind calcium ions are all factors that support active
carbonate precipitation (Iversen and Jørgensen 1985).
Near-surface deposits of porous gas hydrate (Fig.
14.11) are ideal sites for AOM because sulfate can
migrate through the porous space to the inner parts of
the hydrates, where the microbial consortia can thrive.
The aragonite precipitates observed within the
sponge-like bubble structure of gas hydrates are
evidence for such microbial processes. In addition,
biomarker analyses of those layers show extremely
high amounts of components (e.g. isoprenoids
crocetane and pentamethylicosane) typical of those
produced by methane-consuming and sulfate-
reducing microorganisms (Elvert et al. 2001).

14.6 Concluding Remarks

Although the existence of gas hydrates has now been
known for decades, our understanding of their
potential impact on slope stability, the biosphere,
carbon cycling, and climate change is still in its infancy.
Laboratory and field studies at gas-hydrate-bearing
sites, including several drilling expeditions in the past
decade, have provided critical background data on
the conditions of gas hydrate stability, and provide
overall view of the composition and distribution of
gas hydrates in nature (e.g. Dickens 2003). These
results have sparked the development of models
relating hydrate dynamics to tectonic and slope
stability, and the possible impact of this system on
global climate (Dickens 2003; Davie and Buffett 2001;
Sloan 1998; Clennell et al. 1999).

Although the total amount of carbon trapped in
gas hydrate is poorly constrained, existing knowledge

suggest that these deposits may constitute a signi-
ficant carbon reservoir, but a quantitative evaluation
of its resource potential depends on reliable global
and national inventories, and a better understanding
of the geologic factors that lead to highly
concentrated hydrate deposits.

Methane is a powerful greenhouse gas with a
Greenhouse Warming Potential (GWP) 23 times that
of CO2 on a per-molecule basis. Sudden release of
methane from gas hydrate therefore has the potential
to affect global climate, and current hypotheses
attribute past climate variations to methane release
from gas hydrates in response to ocean warming and/
or sea level change (Paull et al. 1991; Kennett et al.
2002; Dickens et al. 1995; Haq 1998). However, these
hypotheses have yet to be confirmed and more research
is needed to evaluate hydrate response to environ-
mental change; the fate of steady fluxes of methane
from hydrate reservoirs to the seabed, ocean surface
and the atmosphere; and the radiative forcing of
methane on climate change.

The impact of gas hydrate on seafloor stability is
important for evaluating the safety of offshore struc-
tures as well as for understanding its role in rapid
release of methane, which may affect climate change.
Since gas hydrate encases large volumes of methane,
when destabilized, these deposits may transform the
host sediment into a gassy, water rich fluid. However,
any buildup of overpressure from excess gas will
depend on the balance between hydrate dissociation
and pressure dissipation through possible permeability
barriers. Freshening of the pore water may trigger slope
instabilities through a possible „quick clay” behavior,
which in turns would depend on the clay mineralogy
of the sediment. Although massive landslide triggered
by gas hydrate destabilization has not been directly
observed, various investigators have shown that vast
stretches of the oceanic margins where there is
evidence for major large-scale slides and slumps
coincide with deep water gas hydrate horizons
(Mienert et al. 1998; Nisbet and Piper 1998; Paull et al.
2000).  There are still gaps in our understanding of the
mechanisms through which decaying hydrate may
affect slope stability, on the triggering mechanism for
gas hydrate decay, and on the environmental response
to slope failure, in particular the possible generation
of tsunamis (Driscoll et al. 2000). There are ongoing
efforts to understand these phenomena and to develop
predictive models, for example, in the region of the
Storrega slide, off the coast of Norway (Bouriak et al.
2000; Bryn et al. 2003).

A full understanding of the complex interre-
lationships associated with the presence of gas
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hydrate in nature requires comprehensive inter-
disciplinary studies that inlude laboratory experiments,
numerical modelling and field observations. Because
the factors that influence gas hydrate stability and
the processes that occur as a consequence of gas
hydrate formation are highly dynamic, these interre-
lationships can only be understood through time-
series monitoring of complementary parameters over
space and time though the installation of seafloor
observatories. Efforts to establish such observatories
are underway at a few key gas hydrate locations. These
and other ongoing studies may well provide key
answers to our current challenges of evaluating the
role of these deposits in the global energy resources
of the future, and on the global carbon cycle, climate
change, and perhaps biotic evolution through our
planet’s geologic history.

Acknowledgements

This research used data provided by the Ocean
Drilling Program (ODP), which is sponsored by the US
National Science Foundation and participating
countries under management of Joint Oceanographic
Institutions (JOI), Inc.  Funding for this research was
provided by the U.S. Science Support Program (USSP)
grant F001557, WCNURP grant PF806880 and by NSF
grant OCE-9731157. The Federal Ministry of Education
and Research (BMBF, Berlin) supported the studies
by grant 03G0604A (collaborative project METRO).
This is publication GEOTECH-194 of the program
GEOTECHNOLOGIEN of the BMBF and DFG and
publication No 0336 of the Research Center Ocean
Margins of the University of Bremen.

14.7 Problems

Problem 1

The thermodynamically defined gas hydrate zone
in sediments of the deep sea is much thicker than
in sediments underlying shallow water, such as
those in the upper continental slope (see Fig.
14.4). Does this mean that gas hydrate concen-
trations are higher in the deeper ocean than on the
upper slope?

Problem 2

Discuss different methane sources in sediments.
Is there a difference in hydrate formation whether
the gas is biogenic or thermogenic in origin?

Problem 3

A sample collected from 90 meters below seafloor
on Hydrate Ridge has an in situ methane concen-
tration of 300 mM.  Based on the phase boundary
diagram shown in Fig.14.5B, do you expect
hydrate to be present in this sample?  If a sample
with the same methane concentration was re-
covered from 250 mbsf, would there be hydrate in
it? Why/why not. Discuss also a methane
concentration of 10 mM in samples from 90 and
250 mbsf using Fig 14.5 B.

Problem 4

A water sample recovered from a gas-bearing region
has a chloride concentration of 530 mM and sulfate
concentration of 26.5 mM.  Do you expect methane
hydrate to be present?

Problem 5

Pore water samples from a hydrate-bearing core were
shown to have a dissolved chloride concentration of
507 mM.  If the background concentration at this site
is known to be 550 mM, calculate the percent of the
pore space that is occupied by gas hydrate, assu-
ming full occupancy of the hydrate structure.

Problem 6

How could you explain the formation of shallow
brines are formed in marine pore water, where there
is no association with evaporites?

14.7 Problems
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15 Conceptual Models and Computer Models
HORST D. SCHULZ

Upon recording processes of nature quantitatively,
the term model is closely related to the term system.
A system is a segment derived from nature with
either real or, at least, imagined boundaries. Within
these boundaries, there are processes which are to
be analyzed. Outside, there is the environment ex-
erting an influence on the course of the procedural
events which are internal to the system by means
of the boundary conditions. A conceptual model
contains principle statements, mostly translatable
quantitatively, with regard to the processes in a
system and the influence of prevalent boundary
conditions. If the systems to be reproduced are
especially complex, any significant realization of
the conceptual model is often only possible by
applying computer models.

Depending on the field of interest and the
nature of the task, the processes in a model will be
either somewhat more physical/hydraulic, geo-
chemical, biogeochemical, or biological. The sys-
tems and processes studied might then expand in
size over the great oceans and their extensive
stream patterns down to small segments of deep
ocean floor measuring only few cubic centimeters,
including the communities of microorganisms
living therein. Consequently, there are no pre-
defined dimensions or structures which are valid
for the systems and their models, instead, these
are exclusively determined by the understanding
of the respective processes of interest and their
quantitative translatability. Since geochemical and
biogeochemical reactions occur relatively fast,
and are thus bound to spaces of smaller dimen-
sions, the models dealt with in this chapter will be
preferentially concerned with dimensions encom-
passing few centimeters and meters of sediment,
to some hundred meters of water column.

In the field of applied geological sciences,
models frequently assume a primarily prognostic
character. For instance, after accomplishing an
adequate calibration, an hydraulic model applied

to groundwater, or a model of solute transport in
groundwater, is primarily supposed to predict the
system’s reaction as precisely as possible under
the given boundary conditions. Such models will
find very practical and often well paid appli-
cations. In marine geochemistry such a prognostic
function of models occurs rather seldom; here, the
objective of obtaining a quantitative concept of a
system predominates in most cases, which is
‘function’ of a particular segment of nature. Com-
puter models can then check the plausibility of
model concepts of complex systems, can draw
attention to the areas not sufficiently understood,
and might help discover parameters with which
the system can be described reasonably well and
effectively.

In the following, zero-dimensional geochemical
reaction models will be distinguished from one-
dimensional models, in which transport processes
are coupled by various means to geochemical and
biogeochemical reactions. The subsections will
then introduce approaches to very different
models, including models that have advanced to
very different stages of development.

15.1 Geochemical Models

15.1.1 Structure of Geochemical Models

Zero-dimensional geochemical models are con-
cerned with the contents of solutions of an
aquatic subsystem (e.g. pore water, ocean water,
precipitation, groundwater), the equilibria between
the various dissolved species as well as their
adjoining gaseous and solid phases. A computer
model by the name of WATEQ (derived from
water-equilibria) was published for the first time
by Truesdell and Jones (1974). Unfortunately, this
was done in the computer language PL1 which has
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become completely forgotten by now. Afterwards
a FORTRAN version had followed (WATEQF)
released by Plummer et al. (1976) as well as
another revised version (WATEQ4F) by Ball and
Nordstrom (1991).

All these programs share the common feature
that they start out from water analyses which were
designed as comprehensive as possible, along
with conceiving the measured values as cumu-
lative parameters (sums of all aquatic species),
only to subsequently allocate them to the various
aquatic species. This was done by applying
iteration calculus that accounts for the equilibria
related to the various aquatic species.

For instance, the measured value of calcium in
an ocean water sample containing 10.6 mmoles/l is
allocated to 9.51 mmol/l Ca2+, 1.08 mmol/l CaSO4

0,
0.04 mmol/l CaHCO3

+, and to a series of low

concentrated other calcium species in solution.
The analysis of sulfate yielding 29.26 mmol/l is
allocated accordingly to 14.67 mmol/l SO4

2-, 7.30
mmol/l NaSO4

-, 1.08 mmol/l CaSO4
0, 0.16 mmol/l

KSO4
-, and, likewise, to a number of low concen-

trated sulfate species. The procedure is similarly
applied to all analytical values. Table 15.2 sum-
marizes the species allocations for the ocean water
analysis previously shown in Table 15.1.

Based on the activities of the non-complex
aquatic species (e.g. [Ca2+] or [SO4

2-], the next step
consists in calculating the saturation indices (SI)
of each compound mineral:

⎟

⎠

⎞

⎜

⎝

⎛=
spK

IAPSI log    (15.1)

In this equation IAP denotes the Ion Activity
Product (in the example of gypsum or anhydrite
these would be ([Ca2+]·[SO4

2-]). KSP is the solu-
bility product constant of the respective mineral.
A saturation index SI = 0 describes the condition
in which the solution of the corresponding
mineral is just saturated, SI > 0 describes the
condition of supersaturation of the solution, SI <
0 its undersaturation. The activity [A] of a sub-
stance is calculated according to the equation:

AAA γ⋅= )(][    (15.2)

Here, (A) is the concentration of a substance
measured in moles/l and γA is the activity co-
efficient calculated as a function of the overall
ionic strength in the solution. For infinitesimal
diluted solutions, the activity coefficients as-
sume the value of 1; hence, activity equals
concentration. In ocean water, the various mo-
novalent ions, or ion pairs, display activity
coefficients somewhere around 0.75; whereas
the various divalent ions, or ion pairs, display
values around 0.2 (cf. Table 15.2, last column).

After transformation, the equation 15.1 to cal-
culate the saturation index of the mineral gypsum
reads:

⎟

⎟

⎠

⎞

⎜

⎜

⎝

⎛ ⋅
=

−+

gypsumsp
gypsum K

SOCa
SI

,

2
4

2 ][][
log    (15.3)

If we now insert the solubility product constant
for gypsum Ksp,gypsum = 2.63·10-5 in the equation
and the exemplary values mentioned above for
ocean water (activity coefficients of divalent ions
≈ 0.2; concentration of Ca2+ = 9.15/1000 mol/l;

Table 15.1 This ocean water analysis carried out by
Nordstrom et al. (1979) has been frequently used to test
and compare various geochemical model programs.

Seawater from Nordstrom et al. (1979)

pH = 8.22
pe = 8.451

Ionic strength = 6.750E-1
Temperature (°C) = 25.0

Elements Molality

Alkalinity 2.406E-3

Ca 1.066E-2

Cl 5.657E-1

Fe 3.711E-8

K 1.058E-2

Mg 5.507E-2

Mn 3.773E-9

N (-III) 1.724E-6

N (V) 4.847E-6

Na 4.854E-1

O (0) 3.746E-4

S (VI) 2.926E-2

Si 7.382E-5
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Species Molality Activity Molality Activity Gamma
log log log

OH- 2.18E-06 1.63E-06 -5.661 -5.788 -0.127
H+ 7.99E-09 6.03E-09 -8.098 -8.220 -0.122
H2O 5.55E+01 9.81E-01 -0.009 -0.009 0.000

C (IV) 2.181E-03
HCO3

- 1.52E-03 1.03E-03 -2.819 -2.989 -0.171
MgHCO3

+ 2.20E-04 1.64E-04 -3.659 -3.785 -0.127
NaHCO3 1.67E-04 1.95E-04 -3.778 -3.710 0.068
MgCO3 8.90E-05 1.04E-04 -4.050 -3.983 0.068
NaCO3

- 6.73E-05 5.03E-05 -4.172 -4.299 -0.127
CaHCO3

+ 4.16E-05 3.10E-05 -4.381 -4.508 -0.127
CO3

-2 3.84E-05 7.98E-06 -4.415 -5.098 -0.683
CaCO3 2.72E-05 3.17E-05 -4.566 -4.499 0.068
CO2 1.21E-05 1.42E-05 -4.916 -4.849 0.068
MnCO3 3.18E-10 3.71E-10 -9.498 -9.430 0.068
MnHCO3

+ 7.17E-11 5.36E-11 -10.144 -10.271 -0.127
FeCO3 1.96E-20 2.29E-20 -19.709 -19.641 0.068
FeHCO3

+ 1.64E-20 1.22E-20 -19.785 -19.912 -0.127
Ca 1.066E-02

Ca+2 9.51E-03 2.37E-03 -2.022 -2.625 -0.603
CaSO4 1.08E-03 1.26E-03 -2.967 -2.900 0.068
CaHCO3

+ 4.16E-05 3.10E-05 -4.381 -4.508 -0.127
CaCO3 2.72E-05 3.17E-05 -4.566 -4.499 0.068
CaOH+ 8.59E-08 6.41E-08 -7.066 -7.193 -0.127
CaHSO4

+ 5.96E-11 4.45E-11 -10.225 -10.352 -0.127
Cl 5.656E-01

Cl- 5.66E-01 3.52E-01 -0.247 -0.453 -0.206
MnCl+ 1.13E-09 8.41E-10 -8.948 -9.075 -0.127
MnCl2 1.11E-10 1.29E-10 -9.956 -9.888 0.068
MnCl3- 1.68E-11 1.26E-11 -10.774 -10.901 -0.127
FeCl+2 9.58E-19 2.97E-19 -18.019 -18.527 -0.508
FeCl2+ 6.27E-19 4.68E-19 -18.203 -18.330 -0.127
FeCl+ 7.78E-20 5.81E-20 -19.109 -19.236 -0.127
FeCl3 1.41E-20 1.65E-20 -19.850 -19.783 0.068

Fe (II) 5.550E-19
Fe+2 3.85E-19 1.19E-19 -18.415 -18.923 -0.508
FeCl+ 7.78E-20 5.81E-20 -19.109 -19.236 -0.127
FeSO4 4.84E-20 5.65E-20 -19.315 -19.248 0.068
FeCO3 1.96E-20 2.29E-20 -19.709 -19.641 0.068
FeHCO3

+ 1.64E-20 1.22E-20 -19.785 -19.912 -0.127
FeOH+ 8.23E-21 6.15E-21 -20.084 -20.211 -0.127

Fe (III) 3.711E-08
Fe(OH)3 2.84E-08 3.32E-08 -7.547 -7.479 0.068
Fe(OH)4

- 6.60E-09 4.92E-09 -8.181 -8.308 -0.127
Fe(OH)2

+ 2.12E-09 1.58E-09 -8.674 -8.801 -0.127
FeOH+2 9.46E-14 2.94E-14 -13.024 -13.532 -0.508
FeSO4

+ 1.09E-18 8.16E-19 -17.962 -18.089 -0.127
FeCl+2 9.58E-19 2.97E-19 -18.019 -18.527 -0.508
FeCl2+ 6.27E-19 4.68E-19 -18.203 -18.330 -0.127
Fe+3 3.88E-19 2.80E-20 -18.411 -19.554 -1.143
Fe(SO4)2

- 6.36E-20 4.75E-20 -19.196 -19.323 -0.127
FeCl3 1.41E-20 1.65E-20 -19.850 -19.783 0.068

K 1.058E-02
K+ 1.04E-02 6.49E-03 -1.982 -2.188 -0.206
KSO4

- 1.64E-04 1.22E-04 -3.786 -3.913 -0.127

Table 15.2 For an analysis
of Table 15.1, this
allocation of the aquatic
species was calculated with
the geochemical model pro-
gram PHREEQC.

15.1 Geochemical Models
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Species Molality Activity Molality Activity Gamma
log log log

Mg 5.507E-02
Mg+2 4.75E-02 1.37E-02 -1.324 -1.864 -0.541
MgSO4 7.30E-03 8.53E-03 -2.137 -2.069 0.068
MgHCO3

+ 2.20E-04 1.64E-04 -3.659 -3.785 -0.127
MgCO3 8.90E-05 1.04E-04 -4.050 -3.983 0.068
MgOH+ 1.08E-05 8.07E-06 -4.966 -5.093 -0.127

Mn (II) 3.773E-09
Mn+2 1.89E-09 5.86E-10 -8.724 -9.232 -0.508
MnCl+ 1.13E-09 8.41E-10 -8.948 -9.075 -0.127
MnCO3 3.18E-10 3.71E-10 -9.498 -9.430 0.068
MnSO4 2.38E-10 2.77E-10 -9.624 -9.557 0.068
MnCl2 1.11E-10 1.29E-10 -9.956 -9.888 0.068
MnHCO3

+ 7.17E-11 5.36E-11 -10.144 -10.271 -0.127
MnCl3- 1.68E-11 1.26E-11 -10.774 -10.901 -0.127
MnOH+ 3.29E-12 2.45E-12 -11.483 -11.610 -0.127
Mn(OH)3

- 5.36E-20 4.00E-20 -19.271 -19.398 -0.127
Mn(NO3)2 2.62E-20 3.06E-20 -19.582 -19.515 0.068

Mn (III) 7.108E-26
Mn+3 7.11E-26 5.12E-27 -25.148 -26.291 -1.143

Mn (VI) 2.322E-28
MnO4

-2 2.32E-28 7.21E-29 -27.634 -28.142 -0.508
Mn (VII) 1.127E-29

MnO4
- 1.13E-29 8.41E-30 -28.948 -29.075 -0.127

N (-III) 1.724E-06
NH4

+ 1.58E-06 1.18E-06 -5.802 -5.929 -0.127
NH3 9.36E-08 1.09E-07 -7.029 -6.961 0.068
NH4SO4

- 5.40E-08 4.03E-08 -7.267 -7.394 -0.127
N (V) 4.847E-06

NO3
- 4.85E-06 3.62E-06 -5.315 -5.441 -0.127

Mn(NO3)2 2.62E-20 3.06E-20 -19.582 -19.515 0.068
Na 4,854E-01

Na+ 4.79E-01 3.38E-01 -0.320 -0.471 -0.151
NaSO4

- 6.05E-03 4.51E-03 -2.219 -2.346 -0.127
NaHCO3 1.67E-04 1.95E-04 -3.778 -3.710 0.068
NaCO3

- 6.73E-05 5.03E-05 -4.172 -4.299 -0.127
O (0) 3.746E-04

O2 1.87E-04 2.19E-04 -3.728 -3.660 0.068
S (VI) 2.926E-02

SO4
-2 1.47E-02 2.66E-03 -1.833 -2.575 -0.741

MgSO4 7.30E-03 8.53E-03 -2.137 -2.069 0.068
NaSO4

- 6.05E-03 4.51E-03 -2.219 -2.346 -0.127
CaSO4 1.08E-03 1.26E-03 -2.967 -2.900 0.068
KSO4

- 1.64E-04 1.22E-04 -3.786 -3.913 -0.127
NH4SO4

- 5.40E-08 4.03E-08 -7.267 -7.394 -0.127
HSO4

- 2.09E-09 1.56E-09 -8.680 -8.807 -0.127
MnSO4 2.38E-10 2.77E-10 -9.624 -9.557 0.068
CaHSO4

+ 5.96E-11 4.45E-11 -10.225 -10.352 -0.127
FeSO4

+ 1.09E-18 8.16E-19 -17.962 -18.089 -0.127
Fe(SO4)2

- 6.36E-20 4.75E-20 -19.196 -19.323 -0.127
FeSO4 4.84E-20 5.65E-20 -19.315 -19.248 0.068
FeHSO4

+2 4.24E-26 1.32E-26 -25.373 -25.881 -0.508
FeHSO4

+ 3.00E-27 2.24E-27 -26.523 -26.650 -0.127
Si 7.382E-05

H4SiO4 7.11E-05 8.31E-05 -4.148 -4.081 0.068
H3SiO4

- 2.72E-06 2.03E-06 -5.565 -5.692 -0.127
H2SiO4

-2 7.39E-11 2.29E-11 -10.131 -10.639 -0.508

Table 15.2 continued.
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concentration of SO4
2- = 14.67/1000 mol/l), yields

the following equation:

SIgypsum, seawater =

log 69.01063.2
1000
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(15.4)

Matching to Tables 15.1 and 15.2 the saturation
indices are demonstrated in Table 15.3, likewise
calculated by applying the PHREEQC model
(Parkhurst 1995; Parkhurst and Appelo 1999).
Here, the majority of the saturation indices have
been calculated on the basis of mineral phases,
however, there are also gaseous phases denoted
as ‘CO2(g)’, ‘H2(g)’, ‘NH3(g)’, ‘O2(g)’. The satu-
ration index stands for the common logarithm of
the respective partial pressure. The number of mi-
nerals and gases listed in Table 15.3 depends on
the fact that calculations can only be performed
after all the ions involved have been analyzed,
and furthermore, provided that the database file of
the program contains the appropriate thermody-
namic data.

It needs to be stated clearly that the condi-
tions of saturation thus calculated in the process
of water analyses are determined exclusively on
the basis of the prevalent analytical data and the
employed data available on equilibria. A mineral
shown to be supersaturated must not immediately,
or at a later instance, be precipitated from this so-
lution, but can be formed, for example, when other
conditions are fulfilled, e.g. such standing in
relation to the reaction kinetics. At the same time,
a mineral found to be undersaturated does not
have to become dissolved immediately or at a later
time - after all, it is possible that this mineral will
never come in contact with the solution. The re-
sult of such a model calculation should just be
understood as the statement that certain minerals
can be either dissolved or precipitated. It goes
without saying that mostly such minerals are of
particular interest that have a calculated satura-
tion index close to zero, because this circumstance
often refers to set equilibria and hence to cor-
responding reactions.

A huge number of such geochemical models
are available. Apart from the models belonging to
the WATEQ family which are only of interest to
science history nowadays, the model SOLMINEQ
(Kharaka et al. 1988), although designed for

waters in crude oil fields, is essential because it
contains a special pressure and temperature cor-
rective for the applied constants which might as
well be important in marine environments. Other
models make use of a temperature corrective only.
Unfortunately, the SOLMINEQ model has not
been developed any further nor improved since its
first release, so that only a first, somewhat faulty
version is now available.

Beside the model EQ 3/6 (Wolery 1993), the
model PHREEQE (Parkhurst et al. 1980) and its
recent successor PHREEQC (Parkhurst 1995;
Parkhurst and Appelo 1999) are geochemical
models in the true sense of the word. With these,
one cannot just calculate any kind of saturation
indices on the basis of a previously conducted
analysis, afterwards to be interpreted more or less
well by giving some meaning to them, instead,
almost any process can be simulated almost
without any limitation, after pre-selecting boun-
dary conditions (e.g. exchanges with the gaseous
phase and dissolution/precipitation of minerals),
or specific processes (e.g. decomposition of orga-
nic matter with corresponding amounts of nitro-
gen and phosphorous, mixing of waters contai-
ning different solutes).

The only limitation is one’s own knowledge as to
the process to be modeled. The program PHREEQC
can be obtained from the internet as public domain
software, including an elaborate, very informative
description and many examples, at:

http://wwwbrr.cr.usgs.gov/projects/
                     GWC_coupled/phreeqc/index.html

The examples presented in the following and in
Section 9.2 have been calculated exclusively with
the program PHREEQC.

15.1.2 Application Examples
of Geochemical Modeling

Determination of Saturation Indices in
Pore water, Precipitation of Minerals

Saturation indices were determined with the
PHREEQC model for the core which pore water
concentration profiles were previously shown in
Chapter 3, Figure 3.1. Here, our attention was drawn
to the supersaturation of several manganese
minerals in various depths, and thus in differing
redox environments. Figure 15.1 shows the depth
profiles for the saturation indices of the minerals

15.1 Geochemical Models
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Phase SI log IAP log KT

Anhydrite -0.84 -5.20 -4.36 CaSO4

Aragonite 0.61 -7.72 -8.34 CaCO3

Artinite -2.03 7.57 9.60 MgCO3:Mg(OH)2:3H2O
Birnessite 4.81 5.37 0.56 MnO2

Bixbyite -2.68 47.73 50.41 Mn2O3

Brucite -2.28 14.56 16.84 Mg(OH)2

Calcite 0.76 -7.72 -8.48 CaCO3

Chalcedony -0.51 -4.06 -3.55 SiO2

Chrysotile 3.36 35.56 32.20 Mg3Si2O5(OH)4

Clinoenstatite -0.84 10.50 11.34 MgSiO3

CO2 (g) -3.38 -21.53 -18.15 CO2

Cristobalite -0.48 -4.06 -3.59 SiO2

Diopside 0.35 20.25 19.89 CaMgSi2O6

Dolomite 2.40 -14.69 -17.09 CaMg(CO3)2

Epsomite -2.36 -4.50 -2.14 MgSO4:7H2O
Fe(OH)2.7Cl0.3 5.52 -6.02 -11.54 Fe(OH)2.7Cl0.3

Fe(OH)3 (a) 0.19 -3.42 -3.61 Fe(OH)3

Fe3(OH)8 -12.56 -9.34 3.22 Fe3(OH)8

Forsterite -3.24 25.07 28.31 Mg2SiO4

Goethite 6.09 -3.41 -9.50 FeOOH
Greenalite -36.43 -15.62 20.81 Fe3Si2O5(OH)4

Gypsum -0.64 -5.22 -4.58 CaSO4:2H2O
H2 (g) -41.22 1.82 43.04 H2

Halite -2.51 -0.92 1.58 NaCl
Hausmannite 1.78 19.77 17.99 Mn3O4

Hematite 14.20 -6.81 -21.01 Fe2O3

Huntite 1.36 -28.61 -29.97 CaMg3(CO3)4

Hydromagnesite -4.56 -13.33 -8.76 Mg5(CO3)4(OH)2:4H2O
Jarosite (ss) -9.88 -43.38 -33.50 (K0.77Na0.03H0.2)Fe3(SO4)2(OH)6

Magadiite -6.44 -20.74 -14.30 NaSi7O13(OH)3:3H2O
Maghemite 3.80 -6.81 -10.61 Fe2O3

Magnesite 1.07 -6.96 -8.03 MgCO3

Magnetite 3.96 -9.30 -13.26 Fe3O4

Manganite 2.46 6.28 3.82 MnOOH
Melanterite -19.35 -21.56 -2.21 FeSO4:7H2O
Mirabilite -2.49 -3.60 -1.11 Na2SO4:10H2O
Mn2(SO4)3 -54.60 -9.29 45.31 Mn2(SO4)3

MnCl2:4H2O -12.88 -10.17 2.71 MnCl2:4H2O
MnSO4 -14.48 -11.81 2.67 MnSO4

Nahcolite -2.91 -13.79 -10.88 NaHCO3

Table 15.3 According to the species distribution shown in Table 15.2, the PHREEQC model (Parkhurst 1995) was also
applied to calculate the saturation indices. Here, 'CO2 (g)', 'H2(g)', 'NH3(g)', 'O2(g)'  do not stand for mineral phases, but
for gaseous phases in which the saturation index is obtained as the logarithm of the respective partial pressure.
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manganite (MnOOH), birnessite (MnO2), manganese
sulfide (MnS), and rhodochrosite (MnCO3).

The precipitation of manganese oxides, and man-
ganese hydroxides, is very obvious at a depth of
about 0.1 m below the sediment surface. For the mi-
nerals manganite and birnessite, exemplifying a
group of similar minerals, the saturation indices lie
around zero. In deeper core regions these and all
other oxides and hydroxides are in a state of under-
saturation.

The slight but very constant supersaturation
(saturation index about +0.5) found for the mineral
rhodochrosite over the whole depth range between
0.2 and 12 m below the sediment surface is quite inter-
esting as well. This can be understood as an indica-
tion for a new formation of the mineral in this parti-
cular range of depth. Below 13 m rhodochrosite and
MnS are both undersaturated, obviously absent in
the solid phase, and therefore cannot have controlled
the low manganese concentrations still prevalent in
greater depths by means of mineral equilibria.

Calculation of Predominance Field Diagrams

The graphical representations of species distribu-
tions and/or mineral saturation as a function of EH-

value and pH-value, which are commonly typified
as predominance field diagrams, or sometimes even
not very correctly as stability field diagrams, can be
done very accurately with the aid of geochemical
model programs. The diagrams related to manga-
nese, iron and copper shown in Chapter 11 (Figures
11.2, 11.4, and 11.16) as well as the Figure 15.2
referring to arsenic, have all been made by applying
the model program PHREEQC.

The procedure consisted in scanning the whole
EH/pH range in narrow intervals with several
thousand PHREEQC-calculations and a given spe-
cific configuration of concentrations (in this par-
ticular case an ocean water analysis at the ocean
bottom, at the site of manganese nodule formation).
Thus, each special case is individually calculated
and adjusted in agreement to the appropriate
temperature, the correct ionic strength (and hence
the correct activity coefficient) and accounting for
all essential aquatic species and all the minerals
eventually present.

Such diagrams as these are not only much more
closely adapted to the respective geochemical en-
vironment, but also contain essentially more
information than the otherwise customary diagrams
in which boundaries mostly result in a simplified

Phase SI log IAP log KT

Natron -4.81 -6.12 -1.31 Na2CO3:10H2O
Nesquehonite -1.37 -6.99 -5.62 MgCO3:3H2O
NH3 (g) -8.73 2.29 11.02 NH3

Nsutite 5.85 5.37 -0.48 MnO2

O2 (g) -0.70 -3.66 -2.96 O2

Portlandite -9.00 13.80 22.80 Ca(OH)2

Pyrochroite -8.01 7.19 15.20 Mn(OH)2

Pyrolusite 7.03 5.37 -1.66 MnO2

Quartz -0.08 -4.06 -3.98 SiO2

Rhodochrosite -3.20 -14.33 -11.13 MnCO3

Sepiolite 1.15 16.91 15.76 Mg2Si3O7.5OH:3H2O
Siderite -13.13 -24.02 -10.89 FeCO3

SiO2 (a) -1.35 -4.06 -2.71 SiO2

Talc 6.04 27.44 21.40 Mg3Si4O10(OH)2

Thenardite -3.34 -3.52 -0.18 Na2SO4

Thermonatrite -6.17 -6.05 0.12 Na2CO3:H2O
Tremolite 11.36 67.93 56.57 Ca2Mg5Si8O22(OH)2

15.1 Geochemical Models

Table 15.3 continued
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fashion from the given specific conditions. On the
other hand, this information cannot any longer be
included reasonably into one diagram only. Here,
one diagram is used exclusively for the pre-
dominance field of aquatic species (left diagram),
whereas a second is used to visualize the sa-
turation ranges of the various minerals (right
diagram). This makes sense inasmuch as,
wherever minerals become supersaturated, there
will nevertheless be an according distribution of
the aquatic species that cannot simply be omitted
in preference of the minerals. The diagrams
shown on the right-hand side reflect the satura-
tion ranges. Here, it is reasonable to depict over-
lapping ranges of various minerals, because
which mineral might precipitate - and which one
will not - is not determined on account of these
statements or the degree of supersaturation.

Adjustment of Equilibria to Minerals and to the
Gaseous Phase

Calcite is supersaturated in seawater which is
described with regard to its solutes in the Tables
15.1 to 15.3. For calcite, the degree of supersa-
turation is expressed by the saturation index of
0.76, as shown in Table 15.3. Moreover, the partial
pressures values of the gaseous phases pCO2 and
pO2 (log pCO2 = -3.38; log pO2 = -0.70) are indi-
cated which differ only slightly from the respec-
tive atmospheric values. Now it would make sense
to ask what composition of this seawater is to be
expected, if the equilibria were adjusted to the
atmospheric CO2 and O2-partial pressure, and, for
example, to the mineral calcite that eventually
might need to be precipitated. Table 15.4 shows
the result of such a calculation with regard to the
essential properties of the solution. Naturally, the

Fig. 15.1 Depth profiles of the saturation indices related to several manganese minerals in sediments approximately
4,000 m below the water surface, off the Congo Fan. The diagram depicted on the left-hand side covers the region
close to the sediment surface; whereas the diagram on the right reflects the range down to the core’s ultimate depth in
another depth scale. Concentration profiles of the pore water pertaining to this core are shown in Figure 3.1; the
concentration profile of manganese is shown in more detail in Figure 3.8, its diffusive fluxes are discussed more
thoroughly in Section 3.2.3.
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program PHREEQC will then provide further
detailed information on the distribution of the
aquatic species and all the saturation indices
according to the Tables 15.2 and 15.3, which
presentation, however, was omitted in this con-
text.

Decomposition of Organic Matter
by Oxygen and Nitrate

If certain boundary conditions are maintained,
the application of the model program PHREEQC
leads to options of particular interest, whenever
simulations of one, or several simultaneously
running reactions are carried out. The oxidation of
organic matter by dissolved oxygen - and after it
is consumed, by nitrate - represents a very
important reaction in seawater and especially in
the sediment. In the model calculation presented
in Figure 15.3 the following boundary conditions
were selected: The seawater under study, or
marine pore water, should be in a state of
equilibrium with the mineral calcite at the
beginning of the reaction and with a gaseous
phase containing 21 % O2 and 0.034 % CO2. The

composition of this water sample is summarized in
Table 15.4. Organic substance containing amounts
of nitrogen and phosphorus according to the

Fig. 15.2 Predominance Field Diagram for arsenic under the condition of manganese nodule formation at the bottom
of the deep sea (after Glasby and Schulz 1999). The calculations in this diagram were performed with the model
PHREEQC. The partial diagram on the left only represents the predominant ranges of the aquatic species. The diagram
on the right covers the ranges of several minerals which are, under the given conditions, supersaturated (SI > 0).

Fig. 15.3 Geochemical model calculation using the pro-
gram PHREEQC. To an oxic seawater with calcite in
equilibrium (cf. Table 15.4) an organic substance is
gradually added automatically leading to a redox reaction.
The system should continue to be open to calcite
equilibrium, but sealed from the gaseous phase
environment. First, free oxygen, and subsequently nitrate,
will be consumed. Afterwards, the system shifts to the an-
oxic state (cf. continuance of reactions in Fig. 15.4).
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Redfield ratio (Redfield 1958) of C:N:P = 106:16:1 (cf.
Section 3.2.5) is then gradually added to this solution.
Simplified, such a theoretical organic substance is
composed of (CH2O)106(NH3)16(H3PO4)1 or, divided
by 106: (CH2O)1.0(NH3)0.15094(H3PO4)0.009434. The
horizontal axis in Figure 15.3 records the sub-
stance addition in terms of µmoles per liter. If the
situation in the sediment is to be described, an
equilibrium of calcite should exist as well. The
system under study should not be open to the
gaseous phase any more, instead, these influ-
ences should now be determined by the con-
sumption of oxygen within the system and by the
concomitant release of CO2.

In the model, the organic substance added to
the reaction automatically triggers a sequence of
redox reactions which becomes evident due to the
concentrations involved which are demonstrated
in Figure 15.3. First, the concentration of oxygen
declines, and the concentration of nitrate and
phosphorus increases according to each of their
proportions in the original organic substance. As
soon as oxygen is consumed, nitrogen will be uti-
lized for further oxidation of the continually added
organic substance. Subsequently, the system
shifts over to an anoxic state.

Seawater from Nordstrom et al. (1979)

Phase Si log IAP log KT

Calcite 0.00 -8.48 -8.47
CO2 (g) -3.47 -21.62 -18.15
O2 (g) -0.68 82.44 83.12

pH = 7.902 Charge balance
pe = 12.713 Adjusted to redox

equilibrium
Ionic strength = 6.734E-1

Temperature (°C) = 25.0

Elements Molality

C 8.139E-4     Equilibrium with Calcite and pCO2

Ca 9.876E-3     Equilibrium with Calcite

Cl 5.657E-1     not changed

Fe 3.711E-8     not changed

K 1.058E-2     not changed

Mg 5.507E-2     not changed

Mn 3.773E-9     not changed

N 6.571E-6     Adjusted to redox equilibrium

Na 4.854E-1     not changed

O(0) 3.951E-4     Equilibrium with pCO2

S 2.93E-02     not changed

Si 7.382E-5     not changed

Table 15.4 In the seawater
analyses shown in Tables 15.1 to
15.3, an equilibrium adaptation to
the mineral calcite (SI = 0) and to
the atmosphere with log pCO2 = -
3.47 (equivalent to pCO2 =
0.00034) and log pO2 = -0.68
(equivalent to pO2 = 0.21) was
calculated. This model calculation
was performed with the program
PHREEQC (Pankhurst 1995,
Parkhurst and Appelo 1999).
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Decomposition of Organic Substance under
Anoxic Conditions

An anoxic system, as obtained from the previous
reaction sequence, will be capable of further on-
going reaction, if the supply of organic matter is
continued and the reaction is held under the same
boundary conditions. The result consists in the
continuation of the processes shown in Figure
15.3. The outcome of this experiment is presented
in Figure 15.4. Here as well, the horizontal axis is
calibrated with regard to the added amounts of
organic matter in terms of mmoles per liter.
As expected, the sulfate concentration in solution
initially decreases at a swift rate and, concomi-
tantly, low amounts of methane already emerge.
Only after the concentration of sulfate falls under
a certain level, will methane be released in sub-
stantial amounts. The permanently maintained cal-
cite equilibrium will result, due to precipitation, in
the depression of the concentration of dissolved
calcium ions (compare Schulz et al. 1994).
The sequence of reactions, as described and
modeled above, has naturally been well estab-
lished and frequently documented ever since the
publications made by Froelich et al. (1979). How-
ever, it should not be overlooked that these pro-
cesses were not pre-determined for the modeling

procedure, instead, they rather ‘automatically’
evolved from the fundamental geochemical data
supporting the model as well as from the pre-set,
although very generalized, starting and boundary
conditions. During the entire model calculation
procedure, all quantitatively important species,
the complex aquatic species, as well as the activity
coefficients related to these solutions, were
invariably taken into account. The dissolution/
precipitation of calcite,  a realistic and also quite
well known reaction, was employed for an
adjustment of the mineral phase equilibrium. Such
a system can be made more complex, almost at
will, by specifically operating with additional
mineral phases (e.g. iron minerals or manganese
minerals) that dissolve eventually, provided they
are present and the condition of undersaturation
prevails, or are allowed to precipitate in the case
of supersaturation. However, the simulation of
such mineral equilibria requires a very profound
knowledge of the specific reactions of mineral
dissolution or precipitation in the system under
study.

15.2 Analytical Solutions for
Diffusion and Early Diagenetic
Reactions

Analytical solutions for Fick’s Second Law of
Diffusion were already discussed in Chapter 3,
Section 3.2.4, without taking diagenetic reaction
into account. With a diffusion coefficient Dsed,
which describes the diffusion inside the pore
cavity of sediments, Fick’s Second Law of
Diffusion is stated as:
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This partial differential equation has different so-
lutions for particular configurations and boundary
conditions. In Section 3.2.4 the following solution
was presented:
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The solution of the equation yields the concen-
tration Cx,t at a specific point in time t and a specific

Fig. 15.4 Geochemical model calculation using the pro-
gram PHREEQC. In an anoxic system (state at the end of
the model calculation from Fig. 15.3), the gradual addition
of organic matter to the redox reaction is continued,
whereby the system is kept open for calcite equilibrium and
sealed from the gaseous phase. Initially, the dissolved sulfate
will be consumed, in the course of which low amounts (loga-
rithmic scale) of methane will emerge. Only after the
sulfate concentration has become sufficiently low, will the
generation of methane display its distinct increase.

15.2 Analytical Solutions for Diffusion and Early Diagenetic Reactions
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depth x below the sediment surface. Here, t=0 is a
point in time at which the concentration C0 prevails
in the profile’s entire pore water compartment. At all
later points in time the bottom water displayed a
constant value Cbw. An approximation for the
complementary error function (erfc) according to
Kinzelbach (1986) can be found in Section 3.2.4,
where examples are given that employ this
analytical solution of Fick’s Second Law.

Advection and very simple reactions can also
be included in Fick’s Second Law of Diffusion (e.g.
Boudreau 1997):
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Here, v denotes the mean velocity of advection,
and k is a rate constant of a reaction with first or-
der kinetics. The last term in the equation R(x) is
an unspecified source or sink related term which is
determined by its dependence on the depth coor-
dinate x. Instead of R(x), one might occasionally
find the expression (ΣRi) which emphasizes that
actually the sum of different rates originating from
various diagenetic processes should be consi-
dered (e.g. Berner 1980). Such reactions, still ra-
ther easy to cope with in mathematics, frequently
consist of adsorption and desorption, as well as
radioactive decay (first-order reaction kinetics).
Sometimes even solubility and precipitation reac-
tions, albeit the illicit simplification, are concealed
among these processes of sorption, and some-
times even reactions of microbial decomposition
are treated as first order kinetics.

These, or smaller variations of the equation,
are occasionally referred to as ‘general diagenetic
equation’, thus stating a rather simplistic compre-
hension of (bio)geochemistry in favor of a more
mathematically minded approach. A comprehen-
sive and elaborate treatment of the analytical
solutions of the equation is presented by
Boudreau (1997) who, in particular, considers its
multiple variations and boundary conditions. Cur-
rently, this important book represents the ‘state of
the art’ for the diagenesis researcher who is more
interested in mathematics. For the more practical
diagenesis scientist thinking in terms of (bio)geo-
chemistry, this presentation remains somewhat
unsatisfactory, despite the fact that it gives va-
rious inspirations and contributes to a vast num-
ber of important compilations (e.g. as to the state
of knowledge on diffusion coefficients in the
sediment). Ultimately, the (bio)geochemical appli-

cations of such a solution are in fact rather limited
and illicitly restrict the complexity obtained by
experimental measurement in the natural system.

In simpler stationary cases the author would
always prefer solutions obtained by applying the
‘Press-F9-method’ (compare Section 15.3.1),
simple explicit numerical two-step models (com-
pare Section 15.3.2), and numerical solutions,
particularly for non-stationary cases or in cases
with complex reactions, by using models like
STEADYSED1 or CoTReM (compare Section
15.3.3).

Van Cappellen and Gaillard (1996) gave
indications that the activity coefficients in marine
pore water, and the various complex species as
well, need to be included as a very important part
of the solution (also compare Sections 15.1.1 and
15.1.2). It has to be assumed that, for instance, the
decomposition of sulfate via respective complex
equilibria also affects the activity of other
dissolved ions. Furthermore, it has to be con-
sidered that charged complexes and ions,
transported by means of diffusion at different
rates (differing diffusion coefficients !), must lead
to a separation of the distributed charges in the
course of transportation. The importance this has
for the processes particularly taking place in the
sediment is not yet sufficiently established. How-
ever, van Cappellen and Gaillard (1996) assume
that such processes may probably be neglected in
marine sediments as the charges there are es-
sentially determined by sodium and chloride ions.

15.3 Numerical Solutions
for Diagenetic Models

The previous section demonstrated that the ana-
lytical solutions of Fick’s Second Law of Diffusion
can only be applied to a very limited number of
cases. Frequently, highly simplified boundary
conditions have to be assumed which actually
cannot be found in a natural environment. Addi-
tionally, the effort is almost always limited to
merely one component dissolved in pore water, or
to its behavior in space and/or time. Any complex
relations between the numerous dissolved compo-
nents, or even concentrations of complexes and
ion pairs which become variable due to reaction
sequences, or accordingly taking into account the
difference between concentrations and activities,
all are simply not regarded in the mathematical
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solutions of diagenetic processes. Nevertheless,
these multiple component processes do not con-
stitute a rare exception but represent the normal
case, and must be considered the more one be-
comes concerned with measuring natural systems.

The solution to this problem consists in the
application of numerical solutions when diage-
netic processes are modeled. Such numerical so-
lutions always divide the continuum of reaction
space and reaction time into discrete cells and dis-
crete time intervals. If one divides up the con-
tinuum of space and time to a sufficient degree
into discrete cells and time steps (which is not the
decisive problem with the possibilities given by
today’s computers), one will be able to apply
much simpler and better manageable conditions
within the corresponding cells, and with regard to
the expansion of a time interval, so that, in their
entirety, they still will describe a complex system.
Thus, it is possible, for example, to apply the two-
step-procedure (Schulz and Reardon 1983), in
which the individual observation of physical
transport (advection, dispersion, diffusion) or any
geochemical multiple component reaction is made
feasible within one interval of time.

15.3.1 Simple Models with Spreadsheet
Software (‘Press-F9-Method’)

Structure of a Worksheet and Oxygen/Nitrate
Modeling

Normal spreadsheet software (e.g. Microsoft -
Excel®) present tools especially suited for modeling
stationary and not too complex systems. The well-
understood decomposition of organic substance
by dissolved oxygen, and the concomitant release
of nitrate, will serve as an example. Nitrate is also
utilized in the oxidation of organic substance in
deeper sections of the diffusion controlled profile.
Figure 15.5 demonstrates the result of such a model
procedure, the details of which will be further
discussed in the following.

Table 15.5 shows excerpts from the worksheet
used for modeling the decomposition of organic
substance mediated by oxygen and nitrate. In the
upper frame of the worksheet there are - apart from
the headline – single parameters and constants that
will be used in the lower part of the worksheet;
they will be discussed later in that particular
context.

In the lower frames of Table 15.5 the actual
worksheet is depicted in rows 11 to 61 that divide

up the one-dimensional profile into 50 lines, which
represent 50 discrete cells. The first column (A)
contains the depth below the sediment surface. In
the uppermost cell (11) this depth is set to zero
and represents the bottom water zone immediately
on top of the sediment. Line 61 is already beyond
the boundary of the modeled area and will be
discussed later in the context of setting the boun-
dary conditions. In cell A12 to A61 the depth is
increased by the value dx = 0.001 m per cell, as
pre-selected in cell A6. The cell A12 contains the
Excel® notation: =A11+$A$6. This field may be
copied all the way down to field A61. In the next
two columns (B) and (C) we find default porosity
values (n) or diffusion coefficients (Dsed) valid for
all cells. However, should the porosity constants
or diffusion coefficients be known for the par-
ticular depth profile, then they may be entered
individually into the respective cells. The columns
(D), (E) and (F) are connected to each other by
loops so that an error message will be announced,

Fig. 15.5 Model of the decomposition of organic sub-
stance by dissolved oxygen and dissolved nitrate in a dif-
fusion controlled pore water profile. Modeling was
performed according to the 'Press-F9-method' with the
spreadsheet software Excel®. Details pertaining to this
model are explained in Table 15.5 and in the text.

15.3 Numerical Solutions for Diagenetic Models
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if the appropriate Excel® setting (‘Iterative Calcu-
lation’) should not be selected. The diffusive O2
flux is calculated by employing Fick’s First Law
of Diffusion (Equation 3.2 in Chapter 3),
whereby the gradient obtained from the concen-
trations in column (F) is used. The concen-
trations in column (F) are calculated stepwise for
each time interval from the preceding value, from
the material flux in and out of the cell, and from
the decomposition activity listed in column (D).
Hence, the result in cell D11 reads in Excel®

notation:

D11=B11*C11*((F11-F12)/$A$6)

D11 consequently contains the flux rate of mate-
rial directed from the bottom water into the
sediment. The cells D12 to D60 will be accordingly
copied from this cell. Cell D61 remains empty.

The decomposition of organic substance in the
uppermost sediment zone is written in the cell E12;
cell E11 (bottom water) remains empty. In the
example shown the decomposition of organic
substance mediated by oxygen in a reaction
following first order kinetics was still bound to the

Table 15.5 Worksheet (excerpts) from modeling the decomposition of organic substance by dissolved oxygen and
dissolved nitrate in a diffusion controlled pore water profile. The model procedure was performed according to the ‘Press-
F9-method’ with an Excel®. worksheet The columns are marked in the uppermost row with alphabetical characters, the
rows are numbered in the first column. Details pertaining to the model are further explained in the text.

A B C D E F G H I
1
2 Model oxidation Corg with oxygen and nitrate switch C:N k(O2)
3  0 3.0 7.9E-09
4 ---------------------- mmol l-1 = mol m-3 ------------------------
5 dx(m) dt(sec) C0(O2) C0(NO3

-
) Cb(O2) Cb(NO3

-
)  k(NO3

-
)

6 0.001 1.0E+06 0.2 0.03 0.0 0.0  3.2E-09
7
8

9 Depth φ    Ds O2-Flux O2-Red. O2 NO3
--Flux NO3

--Red. NO3
-

10 m m2 sec-1 --------- mol m-2 s-1 ----- mmol l-1 --------- mol m-2 s-1 ----- mmol l-1

11 0.000 0.60 5.4E-10 9.36E-09  2.00E-01 -2.11E-09  3.00E-02
12 0.001 0.60 5.4E-10 8.01E-09 1.35E-09 1.71E-01 -1.66E-09 0.00E+00 3.65E-02
13 0.002 0.60 5.4E-10 6.85E-09 1.16E-09 1.46E-01 -1.27E-09 0.00E+00 4.16E-02
14 0.003 0.60 5.4E-10 5.86E-09 9.90E-10 1.25E-01 -9.40E-10 0.00E+00 4.55E-02

:
continued

:
29 0.018 0.60 5.4E-10 5.65E-10 9.53E-11 1.21E-02 8.27E-10 0.00E+00 3.63E-02
30 0.019 0.60 5.4E-10 4.83E-10 8.16E-11 1.03E-02 8.55E-10 0.00E+00 3.37E-02
31 0.020 0.60 5.4E-10 4.13E-10 6.98E-11 8.83E-03 8.78E-10 0.00E+00 3.11E-02
32 0.021 0.60 5.4E-10 3.54E-10 5.97E-11 7.56E-03 8.07E-10 9.09E-11 2.84E-02
33 0.022 0.60 5.4E-10 3.03E-10 5.11E-11 6.46E-03 7.42E-10 8.29E-11 2.59E-02
34 0.023 0.60 5.4E-10 2.59E-10 4.37E-11 5.53E-03 6.81E-10 7.56E-11 2.36E-02

:
continued

:
55 0.044 0.60 5.4E-10 1.15E-11 1.40E-12 1.77E-04 1.30E-10 7.13E-12 2.23E-03
56 0.045 0.60 5.4E-10 1.04E-11 1.12E-12 1.41E-04 1.25E-10 5.84E-12 1.83E-03
57 0.046 0.60 5.4E-10 9.56E-12 8.62E-13 1.09E-04 1.20E-10 4.61E-12 1.44E-03
58 0.047 0.60 5.4E-10 8.93E-12 6.29E-13 7.96E-05 1.17E-10 3.42E-12 1.07E-03
59 0.048 0.60 5.4E-10 8.52E-12 4.11E-13 5.20E-05 1.15E-10 2.26E-12 7.07E-04
60 0.049 0.60 5.4E-10 8.32E-12 2.03E-13 2.57E-05 1.14E-10 1.13E-12 3.52E-04
61 0.050     0.00E+00 0.00E+00
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yet prevalent oxygen concentration. This does not
mean to say that this must always be so. As for
the model, any other kinetic, or, in general terms,
any other value could be assigned to the respec-
tive cells. As for the first order kinetics example,
the line E12 reads in Excel® notation as follows:

E12=$I$3*F12

Cells E13 to E60 are copied from this cell ac-
cordingly, cell E61 remains empty. Column (F)
contains O2-concentrations, whereby cell F11
contains the upper boundary condition via a
constant bottom water concentration. Cell F61
contains the concentration at the lower boundary
- which in this particular case is equivalent to 0.0.
The cell F12 is calculated from cell F12 (hence
from its own previous value) as well as from the
cells D11, D12, and E12, each multiplied with the
length of the time interval. Written in Excel®

notation this reads:

F12=IF($G$3;$D$6;F12+(D11*$C$6)-
(D12*$C$6)-(E12*$C$6))

(The function ‘IF’ refers to the English version of
Excel®, e.g. for the German version this function
would be ‘WENN’.)

Cells F13 to F60 are copied from this cell ac-
cordingly. Cell F61 contains the lower boundary
conditions (in this case 0.0) which will be further
dealt with later. It appears of practical importance
at this point of calculation that there is the
option of stopping the calculation procedure by
means of a switch function. If the switch cell G3
assumes zero value the calculation will be per-
formed. If the cell contains the value 1, then all
concentrations will be adjusted to the value
present in cell D6 (concentration in bottom
water). Designing the structure of the worksheet,
the switch should be set to a value of 1, in order
to avoid unnecessary error messages due to re-
ferences to not yet properly filled cells. Ad-
ditionally, it is easy to rebuild the worksheet
whenever ill-chosen conditions pertaining to the
iteration have led to extreme values and/or oscil-
lations.

Column (G) contains nitrate concentrations
analogous to column (D) used for oxygen. In this
example, the same diffusion coefficients were used
to calculate the fluxes. Here, different individually
adjusted coefficients can certainly also be used.
Again, cell G11 contains the flux rate directed from

the bottom water to the sediment and reads writ-
ten in Excel® notation:

G11=B11*C11*((I11-I12)/$A$6)

Cells G12 to G60 are copied from this cell
accordingly, whereas cell G61 remains empty.
Column (H) contains the decomposition mediated
by nitrate which can be set voluntarily, as has
been the case in oxygen mediated decomposition.
In this example, a decomposition of 0.0 has been
pre-determined for the cells H12 to H31, as well as
the assumption of first-order kinetics in cells H32
to H60. Here, too, it is not intended to claim that
this allocation must necessarily be as shown in
the example. As for the model, any other type of
kinetics would be possible as well as any values
set otherwise . Hence, cell H32 reads in Excel®

notation:

H32=$I$6*I32

Cells H33 to H60 are copied from this cell accor-
dingly. Cell H61 remains empty.

Analogous to column (F), column (I) this time
contains the calculated nitrate concentrations which
again are connected with loops to the columns (G)
and (H). However, in the case of nitrate, there is also
some release into the pore water fraction due to the
oxygen mediated decomposition of organic sub-
stances. Thus, each cell belonging to column (I) is
calculated from its previous value, from the
diffusive import from above, from the diffusive
export downwards, from the import from the
oxidation of organic material mediated by oxygen
(here, selective C:N ratio), as well as from the
decomposition mediated by nitrate. For cell I12,
this reads in Excel® notation as follows:

I12=IF($G$3;$E$6;I12+(G11*$C$6)-
(G12*$C$6)+((1/$H$3)*E12*$C$6)-
(H12*$C$6))

(The function ‘IF’ refers to the English version of
Excel®, e.g. for the German version this function
would be ‘WENN’.)
Cells I13 to I60 are copied from this cell accor-
dingly. Cell I11 contains the bottom water concen-
tration as a fixed boundary condition, whereas cell
I61 assumes the value of 0.0 as the concentration
at the lower boundary. In this column it is also
recommended to link the calculation performance
to the operational ‘switch’ of cell G3.

15.3 Numerical Solutions for Diagenetic Models
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The model is now finished and the essential
margin values compiled in the upper frame of
Table 15.5 are added. The switch in G3 is then set
to zero. Now the key F9 (re-calculation of the
worksheet) is repeatedly pressed until the figures
in the worksheet do not (significantly) change,
i.e., until a (practically) steady state is reached.
Depending on the speed of the computer and the
spreadsheet software used, this can take some few
minutes, so that one can hold the F9-key down
during that time.

At this point it needs to be clearly stated that
only the final iterative steady state of the model
provides a correct result, because the diffusive
flux is calculated according to Fick’s First Law of
Diffusion in the columns (D) or (G) which is only
valid when stationary conditions are provided.
Even if time intervals of specific length are
employed in the process of iteration, it is not
permitted, by no means at all, to draw conclusions
on the time necessary for reaching the steady
state, since the columns (D) and (G), and conse-
quently (F) and (I) as well, contain false infor-
mation relative to each of the respective non-
steady states.

The length of the time intervals (cell C6) is
only a mechanism used for iteration, whereby too
short intervals will result in an unnecessarily long
pressing of the key F9, whereas too large intervals
would lead to escalating oscillations within the
model (in our example after about dt=2.3E6). Only
after the steady state is reached will this ‘false
way’ of the iteration become ‘consigned to obli-
vion’, and the result will be correct in all columns.
Non-steady states and intervals prior to the deve-
lopment of particular concentration patterns can
only be managed by applying Fick’s Second Law
of Diffusion, either in form of analytical solutions
(cf. Section 15.2) or in form of numerical solutions
(cf. Sections 15.3.2 and 15.3.3).

The concentration-dependent boundary condi-
tions assigned to the model’s upper-boundary
limits (unspecified but constant concentrations in
the cells F11 and I11) are relatively unproblematic
since they represent a constant concentration in
the bottom water zone. This is an imperative
prerequisite for assuming a steady state in pore
waters from superficial sediments. The condition
for the lower boundary of the profile is somewhat
more problematical. In the above example, the
concentrations of both oxygen and nitrate were
set to zero. In the model, this is tolerable as long
as the value 0.0, constituting the lower boundary

(within the limits) of the model, already results
from the reactions, and as long as the set value 0.0
will not exert any practical influence on the lower
parts of the profile. This ‘zero concentration
boundary condition’ hence constitutes a ‘zero flux
boundary condition’. This also implies that the
boundaries of the model must be extended down-
ward until this state is sufficiently assumed. Se-
lecting a zero concentration and, consequently a
‘zero flux boundary condition’, makes sense in
this example, but it must not always be an
adequate boundary condition. In the following
example, we will consider the case in which a
value is chosen which clearly deviates  from 0.0
and thus indirectly provides a steady diffusive
flux across the lower boundary.

Modeling the Reaction Sulfate/Methane

Niewöhner et al. (1998) describe profiles of pore
water which were obtained from upwelling areas
off the shores of Namibia. In these pore-water
samples, sulfate reacted with methane in a ratio of
1:1. A similar example has already been introduced
in Chapter 3 (Figure 3.31, also cf. Chapter 5), in
context with problems occurring in methane ana-
lytics. In this example, the measured values will
now be presented in Figure 15.6 together with the
result of a model designed according to the
‘Press-F9- method’.

In principle, the worksheet for the modeling of
Figure 15.6 does not differ very much from the one
described previously, so that it does not demand
special description. The essential features of this
model are:

The decomposition of methane and sulfate (cf.
Chapter 8) occur for both reactants in specific
depths at identical rates which were entered into
the spreadsheet. The adjustment to the measured
profiles was committed only by these (microbial)
decomposition rates. The decomposition para-
meter is set to 0.0 in all other cells, so that a dif-
fusion controlled transport occurs with a constant
concentration gradient.

The concentration of the upper boundary
condition for the model is again provided by the
appropriate bottom water concentrations: sulfate
= 28 mmoles/l; methane = 0.0 mmoles/l.

The concentration of the lower boundary
condition for sulfate is 0.0 mmol/l, since it was
decomposed to 0.0 mmol/l long before the lower
boundary of the model had been reached. How-
ever, the concentration of the lower boundary
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Fig. 15.6 Model results of the mutual decomposition of sulfate and methane as a 1:1-reaction in a diffusion con-
trolled pore water profile. Modeling was performed according to the ‘Press-F9-method’ using the standard software
Excel®. Details pertaining to the model and the calibration with data from a measured pore-water profile obtained
from an upwelling area off Namibia (Niewöhner et al. 1998) are discussed in the text.

condition for methane has been concluded on the
basis of pre-determining a steady decomposition
in the same amount as for sulfate, and that this
decomposition should continue in a specific depth
until the value 0.0 is reached.

15.3.2 Two-Step Models with Explicit
Numerical Solution of Fick’s 2nd Law

In order to adequately account for the time course
of processes which are mainly governed by diffu-
sion, Fick’s Second Law of Diffusion must be ap-
plied without exception (Equation 15.5). After all,
Fick’s First Law does not account for time at all.
The analytical solutions described in Sections
3.2.4 and 15.2 and referring to Fick’s Second Law
may permit the calculation of a distribution of
concentrations at a certain point in time, however,
they apply to inert, non-reacting compounds.
Only very specific and very simple reaction types,
such as the completely reversible adsorption/
desorption of a compound or its degradation
following first-order kinetics can be included in

analytical solutions. All reactions of higher com-
plexity - and these encompass actually all the
processes of early diagenesis - require reactions
which are distinguished by the interdependencies
between the various reactants and thus evade an
analytical solution in which a distribution of con-
centrations has to be calculated in a single step,
starting out from a given initial concentration.

Adequately modeling the combination of the
physical transport by means of diffusion (inclu-
ding advection) on the one hand, and reactions
which may be as complex as you like on the other,
demands a subdivision of both the continuum of
time and the transport pathway into discrete time
intervals and discrete sections or cells,
respectively. In each time step the physical trans-
port of each cell belonging to the transport path-
way under study is then calculated relative to
each of the other cells, just as if the compound
would not undergo reactions. Then the transport
process is quasi brought to a halt and the concen-
trations in all cells will be changed just as if any
imaginable (bio) geochemical reaction had in fact
taken place. There is actually no type of reac-
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tion that cannot be applied for mathematical
reasons in this regard. Then physical transport is
calculated once again on the basis of the con-
centrations thus calculated, followed by a
subsequent calculation of the reactions etc. This
procedure is referred to as the “Two-Step
Method” or “Operator Splitting”. It will be
discussed more thoroughly in the following. As
much as we know, this method has been applied
for the first time by Schulz and Readon (1983).
Here, only the simplest form of such a modeling
process, the so-called explicit solution, will be
presented for introductory purposes. It rapidly
illustrates the principle of the Two-Step Method
and suffices completely to achieve adequate
modeling results in most practical situations.

The explicit solution (e.g. Kinzelbach 1986; Sie-
ger 1993; Landenberger 1998) calculates a con-
centration Cx,t+ t as the concentration at location x
of the transport pathway with respect to the
future time point (t+∆t), whereby ∆t denotes the
length of the time step:
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Only concentrations at the known time point t are
used on the right side of the equation sign for the
same location x on the transport pathway, next to
the two neighboring cells (x+ ∆x) and (x-∆x),
whereby ∆x denotes the cellular length of the
transport pathway. Dsed is the diffusion coefficient
of the compound under study (Section 3.2.2). To a
certain extent, the equation also permits the inclu-
sion of advection with the flow velocity va. If va =
0.0, then only diffusion will be effective. However,
in cases of greater flow velocities the much
greater dispersion coefficient must be applied
instead of the diffusion coefficient Dsed. Its dimen-
sion depends on the flow velocity. Such fluxes,
including the adjusted dispersion coefficients, are
preferably significant for the flow properties of
groundwater in sandy aquifer (Schulz 2004).

Equation 15.8 hence permits the calculation of
the distribution of concentrations in all cells of a
transport pathway at the end of a given time
period, starting out from any distribution of
concentrations prevailing at the beginning. Some-

what problematical is merely the first (uppermost)
cell and the last (lowest) cell of the given path-
way, for each of these cells lack a neighboring cell
either above or below it, a condition which Equa-
tion 15.8 demands to be fulfilled by all cells. This
normally does not lead to a problem for the first,
uppermost cell. It represents the bottom water
above the sediment package and thus contains a
constant or, at least, a time-specific concentration.
The last, or lowest, cell presents more difficulty,
as various margin conditions can be selected.
Here, an example could consist in a constant or, at
least, time-specific concentration as well. Another
possibility would be an extension of the concen-
tration gradient from the third-last cell over the
second-last to the ultimately last cell. At least
Equation 15.8 is only applied to the cells 2 to (n-1)
in a series of n cells, and not to the cells 1 and n.

Each of the two variants applicable to deter-
mine the concentration in the last, lowest cell of
the transport pathway have a flaw. A constant
value for the concentration in this cell demands
that, during model calculation, a concentration
deviating essentially from this value by way of
diffusion or reaction should never approach the
lower margin, where the model calculation would
be influenced by a constant value, without being
capable of influencing this value itself. For
example, if the constant value were 0.0, all higher
concentrations appearing in the proximity would
quasi become “swallowed”. For this reason, the
model territory always has to be defined large
enough to ensure that this will never be the case.
Such an effect does not appear with the same
intensity in the second variant, which is used to
determine the concentration at the lower margin
by means of a constant gradient, but this solution
also produces problems. The small errors which
arise from the extrapolation of the gradient can
add up to quite remarkable deviations in the
course of numerous time steps. It is best to define
the model territory large enough to avoid that the
gradient near the lower margin will not essentially
differ from 0.0 at any given concentration.
The explicit solution permits simple straight-
forward modeling, but has the disadvantage that
the length of a time-step is very closely bound to
the length of a cell and to the diffusion coeffi-
cient. Very unpleasant oscillations frequently
appear which rapidly add up to values lying
outside the permissible numerical range if the
time-steps become too large. Equation 15.9 descri-
bes a maximum length a time-step may assume,
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whereby distinctly shorter time-steps may also be
used without causing any problem.

sedD
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The explicit solution can be realized quite reaso-
nably with an Excel® worksheet in the sense of the
‚Press-F9-Method’ (Section 15.3.1). However, in
most cases a program written in a higher pro-
gramming language will be applied, since this type
of modeling is made because one desires to in-
clude more complex (bio)geochemical reactions.
And sooner or later the limits of modeling are
reached when an Excel® worksheet is used.

An easy to handle and rather generally desig-
ned computer model written in FORTRAN
(EXPLICIT.FOR) can be downloaded on the
internet at:

http://www.geochemie.uni-bremen.de/downloads/

along with brief user instructions written in Eng-
lish and data sets pertaining to several examples.

The following examples (Example 1 and 2)
were calculated using this program. Subsequent
examples (Examples 3 and 4) reveal how an
explicit solution was realized with an Excel® work-
sheet in the sense of the ‚Press-F9-Method’
(Section 15.3.1). Downloads of these worksheets
are also available at the above mentioned inter-
net address.

Example 1: Non-steady state development of an
         oxygen profile

An oxygen concentration profile such as the one
which has been measured in situ (Fig. 3.5) or
modeled (Fig. 15.5) is mostly interpreted in terms
of a stationary condition (steady state) resulting
from the consumption of oxygen in the sediment
and its resupply by means of diffusion. Its con-
sumption in the sediment is due to the oxidation
of organic matter and other redox processes, such
as the re-oxidation of divalent manganese. But
how long does it take until such a stationary
condition is reached ?

Figure 15.7 shows an example for the
development of a steady-state condition starting
out from an extreme initial situation. The explicit
solution to Equation 15.8 always requires an initial
situation, a concentration profile from which the
following profiles of the subsequent time-step are
calculated. In this example, an oxygen concen-
tration of 0.0 was chosen as the initial situation
underlying the entire profile. In principle, it does
not make any difference what kind of initial con-
centration profile is used to reach the steady-state
concentration profile. The initial profile will be
“lost”, at the latest, after a steady state is reached.
Only the time necessary to reach the steady state
will differ. The more the initial situation already
resembles the steady state, the shorter the time
until this condition will be reached - and vice-
versa.

In this example, the oxygen consumption in
each cell was calculated by applying first-order
kinetics, which means that, in this case, oxygen is
depleted with a half-life of 50 days. This is only
but one possibility imaginable, other rates or
kinetics of degradation are also possible and can
be applied in the model accordingly. The half-life
of 50 days represents a sediment distinguished by
a relatively poor turnover. Naturally, there is no
consumption at the beginning when no oxygen is

15.3 Numerical Solutions for Diagenetic Models

Fig. 15.7 Calculation of the equilibrium between oxygen
consumption occurring during the oxidation of sedimen-
tary organic matter near the sediment surface and re-
supply of oxygen by means of diffusion. Here, oxygen
consumption is assumed to follow first-order kinetics.
Application of Fick’s Second Law in an explicit numeric
solution permits a reliable calculation of the times
required for the adjustment of a stationary condition.
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present in the entire profile. But any oxygen
supplied from the bottom water into the sediment
by means of diffusion will be immediately subject
to the already mentioned consumption of oxygen
displaying a half-life of 50 days.

If the sedimentary diffusion coefficient is
given, the position of stationary condition will
then be merely a function of the degradation rate,
hence the half-life assumed in our example. Figure
15.7 illustrates that a concentration profile close
to the stationary condition is reached within a
time period as short as three months. This is the
case even in our example in which the penetration
depth of oxygen is at about 30 cm, and despite the
fact that the initial concentration of 0.0 over the
entire profile is far away from the stationary
condition.

Example 2: Dating a sediment slide
        at the continental slope

While the previous example presents a purely theo-
retical case, Example 2 refers to a real situation
(Zabel and Schulz 2001). The data shown in Figure
15.8 represent material from the cores sampled with a
gravity corer at a water depth of approximately 4,000
m on the deep-sea fan off the estuary of the Congo

River (Locations GeoB1401 and GeoB4914). Further
pore-water profiles from Location GeoB1401 are also
shown in Fig. 3.1.

Particularly the sulfate profile in pore water
(center diagram in Fig. 15.8) was difficult to interpret
as a picture showing a steady-state condition, for
one would expect a nearly constant gradient that
reaches down to the sulfate-methane transition zone
(e.g. Niewöhner et al. 1998). Figure 3.6 shows such a
measured profile. The sulfate profile depicted in
Figure 15.8., however, displays a distinct alteration in
the gradient at a depth range between 8 m and ap-
proximately 10 m. This would normally be explained
with a re-oxidation of sulfide yielding sulfate under
stationary conditions. However, oxygen and nitrate
are not available for the reaction, as they have al-
ready been exhausted in the uppermost centimeters
of this very reactive sediment. A re-oxidation reac-
tion of sulfide with trivalent iron originating from the
solid phase of the sediment would be imaginable
theoretically, but this possibility was ruled out
because the trivalent iron content of the sediment
and the low sedimentation rate (approximately 5 cm
kyr-1 , as derived from the left diagram in Fig. 15.8)
account for a flux of trivalent iron to the reaction site
which would be markedly too low - by more than a
power of magnitude.

Fig. 15.8 Geochemical data obtained from a sediment core originating from a depth a 4,000 m off the Congo-River
estuary (GeoB1401, GeoB4914) (Zabel and Schulz 2001). Left: Corg concentration and isotope stages. Center: Sulfate
concentrations in pore water. Right: Sulfide concentrations in pore water. The red line crossing all profiles denotes a
leap in time which is understood as an old surface, a basis of a sediment slide.
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A solution to this problem is only gained when
this profile is interpreted as a non-state condition
(Zabel and Schulz 2001), assuming that in recent
geological time an approximately 10 m-thick sedi-
ment block slid over a very young series of turbi-
dites which were rich in organic matter. This sedi-
ment slide must have proceeded so slowly that the
sediment block remained unperturbed in its in-
terior stratigraphy. Figure 15.9 shows the model
concept which provided the basis in subsequent
modeling of the pore water concentration profiles.
The left diagram shows the situation before the
slide when turbidite currents, rich in organic
matter and originating from the overflow of the
Zaire Canyon onto the deep-sea fan, had reached
a depth of 4,000 meters. The right diagram shows
the situation after the slide, including the samp-
ling site of the sediment core examined.

But when did this slide occur? As a steady-state
condition has quite obviously not been reached yet,
a time-correct model according to Fick’s Law and the
Two-Step Method must be used to answer the
question.

Figure 15.10 demonstrates in its left side the
initial situation, hence the situation immediately
after the slide in terms of sulfate and methane
concentration profiles and alkalinity. Underneath
the slide, i.e at the former sediment surface, a
steady-state condition with a constant gradient
reaching down to the sulfate-methane transition

zone was then anticipated. We are familiar with
such profiles from highly reactive sediments, for
example, those obtained from the Congo Deep-Sea
Fan. Unperturbed gradients displaying markedly
less biogeochemical turnovers were applied to the
sediment package lying on top of the sedimentary
slide mass as the initial situation. We also know
about such profiles in sediment cores originating
from locations somewhat higher on this conti-
nental slope.

The right diagram in Figure 15.10 shows the
modeling of a non-steady state condition about
300 years after the slide. The mutual degradation
of sulfate and methane at the sulfate-methane
transition zone and the release of bicarbonate (re-
presented by alkalinity) were stoichiometrically
applied as the involved geochemical processes
according to the extent of methane oxidation. The
model calculation was terminated after achieving a
good visual adjustment of the calculated sulfate
profile to the measured data. It clearly shows that
this modeling procedure is able to explain entirely
the measured concentration profiles of sulfate,
methane, alkalinity and ammonia (not shown).
Since the model was run using the correct time
and the correct diffusion coefficients, anticipating
that the slide incidence had taken place at about
300 years before the measurement of the concen-
tration profiles may also be assumed to be correct.
The potential error of the visual adjustment of the

Fig. 15.9 Model concepts related to the development of the situation shown in Fig. 15.8. The left diagram displays
the development of turbidite currents rich in organic matter at a water depth of approx. 4,000 m. The right diagram
shows how the slide of an internally unperturbed sediment package covers these turbidite layers (Zabel and Schulz
2001) .

15.3 Numerical Solutions for Diagenetic Models
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sulfate profile for the time span modeled is esti-
mated to be somewhere between 5 to 10 % of this
value.

Example 3: Reconstruction of the date of a sediment
       avalanche at the continental slope

Example 3 also illustrates the modeling of a sulfate
profile really measured, including a sulfate-
methane transition zone in the deep part of the
profile. However, in this case the profile displayed
such an unusual course that its interpretation as a
steady-state condition did not appear justified by
any means. As a consequence, this profile rested
among many other measurement data for almost
ten years. Only after we understood that non-
steady-state conditions in marine sediment pro-
files - particularly in the continental slope region -
are much more frequent than previously assumed
were we able to understand this profile as well
(Hensen et al. 2003).

The rather steep continental slope off the
coast of Uruguay is distinguished by frequent
irregular sedimentary transport events. Not only
turbidity currents but also slides of relatively

unperturbed sediment packages occur here, such
as sediment avalanches. In case of sediment
avalanches the originally stratified sediment layer
is mostly destroyed and dissolved into single
blocks. However, the original sediment is not
dissolved all the way down to each single grain as
is the case with turbidite currents. Figure 15.11
shows a section of the same profile above the
continental slope, where the examined core was
sampled with a gravity corer (GeoB2809, Bleil et al.
1994). The sediment avalanche which had been
deposited at this location can be clearly recog-
nized in the lower part of this sediment acoustic
profile as it lies, practically without displaying any
structure, on top of the otherwise layered sedi-
ments. Once again, the non-steady state pro-
gression of the sulfate profile in the pore water
would provide us with information on the age of
the avalanche.

Figure 15.12 shows the result of a non-steady-
state model run which was performed by applying
the explicit solution according to the Two-Step
Method, this time with an Excel® worksheet
according to the ‚Press-F9-Method’. This work-
sheet can also be downloaded from the above-

Fig. 15.10 Model calculation of sulfate in pore water, alkalinity and methane in an explicit numeric solution of
Fick’s Second Law, accounting for the reaction between sulfate and methane and the alkalinty which is affected
thereby. The adjustment to the measured profiles depends on the time passed since the slide occurrence and thus
permits the reconstruction of the time of its occurrence which took place about 300 years ago.
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mentioned website. The measured sulfate
concentrations are marked by red circles in all
partial diagrams of Figure 15.12. The left diagram
shows in blue color the initial situation once again
immediately after the deposition of the sediment
avalanche. In this case, it was assumed that the
concentration profile before the incidence of the
avalanche decreased linearly from the concen-
tration in ocean water (28 mmol l-1) at the sediment

surface down to a concentration of 0.0 in the
region at the sulfate-methane transition zone. The
profile was then perturbed by the avalanche,
yielding irregular concentrations over the entire
profile which scattered around the average of the
ocean water values and the 0.0 value. This
distribution of initial concentrations was calcu-
lated as a somewhat randomized 50 % ocean water
concentration.

Fig. 15.11 Sediment-acoustic
profile (PARASOUND) of the
continental slope off the coast
of Uruguay (Bleil and partici-
pants 1994). A sediment ava-
lanche is recognizable below de-
posited as a compact sediment.
The sediment core  GeoB2809
also originated from this profile,
including the pore water profiles
shown in Fig. 15.12. (see also
Hensen et al. 2003).

Fig. 15.12 Model calculation of the sulfate concentration profile in the deposition of a sediment avalanche on the
continental slope off the coast of Uruguay (see also. Fig. 15.11). Red circles denote the measured sulfate
concentrations. Blue lines indicate the model calculation at various time points after the avalanche: Left: Immedi-
ately after the occurrence of the avalanche. Center: approx. 21 years later. Right: approx. 500 years later.

15.3 Numerical Solutions for Diagenetic Models
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Starting out from this profile of initial con-
centrations, we then only introduced the time-
correct diffusion in the model calculation, along
with a correct diffusion coefficient, and the mu-
tual degradation of sulfate and methane at the
sulfate-methane transition zone.

First, the minor, randomly occurring diffe-
rences between adjoining points were ‘smoothed
out’ in the course of model calculation. At the
same time, the upper part of the profile adapted
more and more to the ocean water transition,
while the lower part adapted to the low concen-
tration of the sulfate-methane transition zone.
After somewhat more than 20 years, an almost
perfect adjustment to the measured profile was
achieved without any other fitting technique
(center diagram in Fig. 15.12). This core was
obtained in 1994, and the sulfate profile was
measured in the same year. The sediment ava-
lanche consequently took place in the early 70s
of the last century. The right diagram in Figure
15.12 shows the same profile model as it would
look like in 500 years after the event. A new,
almost stationary condition will be reached after
this time, and only a faint suggestion of the S-
shaped curve typical of the non-steady state
condition will still remain recognizable.

Example 4: Formation of phosphorite in shelf
sediments

It has been recently demonstrated in shelf sedi-
ments of the highly productive upwelling area off
the coast of Namibia that certain sulfur bacteria
release very high concentrations of phosphate into
the pore water near the sediment surface. This
produces a stratified precipitation of phosphorite
minerals (Schulz and Schulz 2005). The questions
to be answered by modeling are as follows:
•   At which phosphate concentration must we

expect the precipitation of which minerals ?
•   The concentrations in pore water at a depth

of only one centimeter below the sediment
surface are considered as stationary. What
release rates applying to phosphate must we
postulate for the bacteria if it is known from
experiments that the precipitation kinetics of
phosphate minerals are in a certain range,
and if the measured concentration profile in
pore water is to be simulated correctly?

•   How much time does it take for sulfur bacteria
to release these phosphate concentrations till
the amounts of phosphate found in the solid
phase of the sediment accumulated ?

Fig. 15.13 Model concept about the development of phosphorite layer in an anoxic sediment on the shelf off the
coast of Namibia (Schulz and Schulz 2005). Phosphate released by bacteria (Thiomargarita) reaches a stationary
condition in pore water which is determined by release rates, precipitation and diffusion-dependent transport.
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•  How fast or slow is the phosphate mineral
layer embedded in the sediment re-dissolved
if phosphate concentrations increasing in
the process of dissolution return to the
ocean water by diffusion ?

Figure 15.13 shows the principle structure of the
model which is supposed to give an answer to
these questions. Here, realization was done in
accordance with the explicit solution and the Two-
Step Method using an Excel® worksheet, which can
also be downloaded from the above mentioned
website, along with other relevant information.

The model will record the upper 25 centimeters
of the sediment if there are 100 cells each mea-
suring a length of merely 2.5 mm. This accounts
for a sufficiently good depth resolution in the
interesting range of reactions, and it reaches deep
enough so that the sensitive lower margin of the
model is by no means influenced by the processes
running inside the model. Apart from the time-
correct diffusion of dissolved phosphate, a rate-
controlled input (bacterial release of phosphate
into the pore water fraction) and a rate-controlled
output (precipitation of a phosphate mineral) are
accounted for. Simultaneously all precipitations
and dissolutions had to be recorded so that the
total of precipitated phosphate could be compared
with the sedimentary contents found in nature.

The input was only given for cells in which the
presence of these large sulfur bacteria of the
genus Thiomargarita that are even easily visible
with the naked eye has been known to exist at the
respective sediment depths. Precipitation of the
mineral hydroxyapatite [Ca5OH(PO4)3] was con-
ducted with first-order kinetics as soon as the
saturation concentration (40 µmol l-1 phosphate)
was exceeded. This concentration resulted from
model calculations performed with the program
PHREEQC (Section 15.1.2) on this mineral which is
characteristic for such conditions and whose
presence in this sediment appeared to be likely on
account of x-ray diffractometry (XRD).

The results of measurements made with natural
sediments are compiled in Figure 15.14, together
with the results of the model calculations. Both
pore water concentrations and the contents in the
solid phase of the sediment were absolutely
correctly simulated considering the range of
available measurement accuracy and reprodu-
cibility.

The above questions concerning modeling can
thus be answered, and the answers concomitantly
describe the circumstances of the development of
marine phosphorite deposits by sulfur bacteria:

•  The specific situation of pore water concen-
trations at this location yielded a phosphate

Fig. 15.14 Measured values and model calculation related to the model concept shown in Fig. 15.13. Open circles,
triangles and squares denote the measured values of three parallel cores. The broken line curves represent the model
calculation. Left: phosphate concentrations in pore water. Center: Sedimentary contents of phosphorus. Right:
Bacterial cell counts in the sediment (after Schulz and Schulz 2005).

15.3 Numerical Solutions for Diagenetic Models
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concentration of 40 µmol l-1 which is required
in order to obtain saturation in the pore water
fraction relative to the mineral hydroxyapatite
which is known as a primary precipitate of
phosphorite deposits.

•   Phosphate release rates of sulfur bacteria ran-
ging from 0.024 to 0.08 pmol l-1 cell-1 had to be
postulated. In case of higher release rates,
calcium which is required for the precipitation
of hydroxyapatite [Ca5OH(PO4)3] could not
have been supplied fast enough by means of
diffusion. In case of a lower release rate, dif-
fusion would have caused a distinctly broader
spreading of the concentration peak in the
pore water fraction than the peak measured. A
phosphate release rate of 0.011 to 0.028 pmol l-1

cell-1 for the bacteria was found in laboratory
experiments. This range is very close to the
postulated values, both ranges even overlap
to certain extent. That the bacteria did not
produce the highest release rates of the model
may be explained with the fact that they simply
did not appreciate their state of ‘captivity’ as
much as their life in the wild. A precipitation
rate applicable to hydroxyapatite emerged
almost incidentally, which was also verified in
laboratory experiments.

•   Anticipating the fastest release rate of 0.08
pmol l-1 cell-1 it will take only three months
until the contents measured in the sediment
are reached. In case of the lowest rate of 0.024
pmol l-1 cell-1 it will take 14 months. Both
values are plausible also against the back-
ground of sedimentation rates on the shelf.

•   The phosphorite layers are quite well protected
after being embedded in the sediment, for con-
centrations produced by the dissolution of these
layers need a very long time to return to the sedi-
ment surface by diffusion. Even after 100 mode-
led years, the phosphate contents in the sedi-
ment will be only slightly lower than they were at
the time of their development. And 100 years on
the shelf is plenty of time during which every-
thing from further and deeper deposition to ero-
sion of the sediment can happen.

15.3.3 Two-Step Models for Combined
Complex Transport/Reaction
Processes

The main problem encountered in modeling
combinations of advective/dispersive and/or
diffusive transport, on the one hand, and any

(bio)geochemical reaction, on the other hand, is
that at least two totally different processes inter-
act simultaneously on the same object:

Physical transport including diffusion, advec-
tion and dispersion, when reactions are absent, is
one part of the problem. In their entirety, these
processes are quantitatively well understood in
model concepts. They are also applicable, without
raising principle problems, in analytical and nume-
rical solutions to the general partial differential
equations of material transport.

Geochemical and (bio)geochemical processes
which are independent of transport processes
present the other part of the problem. Here as well,
there is a number of far advanced model concepts.
The models belonging to the PHREEQE or
PHREEQC - type may be referred to in this respect
(cf. Section 15.1.1 and 15.1.2). Other fields are
object of the various chapters in this book.

First, attempts were made to develop models
that could accomplish the coupling of both
process groups in one single, either analytical or
numerical procedure, although these often bore
strong limitations for the application to geo-
chemical reactions. Attempts now more often
foresee solutions in two steps. This group of
methods is referred to either as “operator split-
ting”, or as the “two-step method”. Boudreau
(1997) mentions this procedure only briefly at the
close of his book and describes it as ‘an appa-
rently crazy idea that works rather well in prac-
tice’. The first versions of such models, which
couple physical transport to geochemical reac-
tions in groundwater are already more than 20
years old (e.g. Schulz and Reardon 1983).
Application examples for the ‘two-step method’ in
modeling diagenetic processes in marine sedi-
ments over the recent years were published by
Hamer and Sieger (1994), Van Cappellen and Wang
(1995), Wang and Van Cappellen (1996), Hensen et
al. (1997), Sieger (1993), Landenberger et al. (1997),
Landenberger (1998), Adler et al. (2000a), Adler et
al. (2001), Wenzhöfer et al. (2001), Pfeifer et al.
(2002), Haese et al. (2003), Hensen et al. (2003).

The model CoTReM (Column Transport and
Reaction Model) (Adler et al. 2000b) is primarily
designed for its application to complex early
diagenetic reactions in marine sediments. In the
one-dimensional transport part of the model (as a
continuance of the model DISPER by Flühler and
Jury 1983) the model’s territory is divided up into
a variable number of REVs (representative
elementary volumes). These REVs may differ in
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length, porosity, and in their dispersion and
diffusion properties.

The time to be modeled is subdivided into a
number of time steps. First, a numerical solution is
used to solve the partial differential equation of
transport (including adsorption and desorption)
with respect to all substances under study. After-
wards, the geochemical processes in each REV are
modeled independent of transport processes. For
this step, CoTReM runs a subroutine called
REDOX, as well as the geochemical equilibrium and
reaction model PHREEQC. The next time step is
processed by starting again with the physical
transport, followed by the geochemical reactions
etc., until the pre-determined operating time is
completed. The structural principle of the model
CoTReM is outlined in Figure 15.15.

The latest version of CoTReM together with a
program description and data files of some examples
is available at the internet web page, mentioned
above.

An example which was published by Pfeifer et
al. (2002) illustrates very clearly the functions
provided by CoTReM. The authors processed a
sediment core obtained from the equatorial
upwelling area off the coast of West Africa
(Location GeoB4906, water depth 1251 m). The left

diagram in Figure 15.16 shows the concentration
profiles of oxygen, nitrate, manganese, iron, and
sulfate in the upper six centimeters of the core,
along with the results of the model calculation
made with CoTReM. The concentrations of
ammonia and calcium, the pH and pCO2 were also
measured and included into the calculation (not
shown). The following processes had to be
included into the modeling procedure:

•   Oxidation of organic matter by oxygen
•   Oxidation of organic matter by nitrate
•   Oxidation organic matter by iron oxide or iron

hydroxide
•   Oxidation of organic matter by sulfate
•   Re-oxidation of dissolved divalent manganese

by oxygen
•  Re-oxidation of dissolved divalent iron by

nitrate
•  Re-oxidation of dissolved divalent iron by

manganese oxide
•  Dissolution/precipitation of iron sulfide and

calcite

The adjustment of all reactions to the mea-
sured profiles was made by the depth-dependent
turnover rates or reaction kinetics of the indivi-

Fig. 15.15 Functional principle of the CoTReM model in the simulation of early diagenetic processes in sediments.
The time series of (bio)geochemical reactions and material transport are alternately simulated in a two-step
procedure. PHREEQC is used as a subroutine for geochemical reactions. CoTReM, including instructions and
exemplary data, can be downloaded from the internet site indicated.

15.3 Numerical Solutions for Diagenetic Models
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dual processes. In this regard CoTReM permits
modeling to start with the maximum turnover rates,
which the program subsequently reduces to
realistic values. As some of the reactions inter-
act with each other, the adjustment of the model
to the concentration profiles of the single para-
meters often involves a laborious process of
step-by-step procedure that requires a repeated
subsequent correction of the depth-related
turnover rates. However, there is no other way
which could be better and especially easier to
understand the complex interacting system of
early diagenesis in the sediment. The right
diagram in Figure 15.16 shows the depth
distribution of the turnover rates, which were
ultimately necessary for adjustment. Hence they
also provide the basis for a quantitative under-
standing of all processes that are relevant to this
sediment.

An also very versatile program designed for
modeling the essential processes in early
diagenesis originates from Wang and Van
Capellen (1996), or Van Cappellen and Wang
(1995). This model STEADYSED1 can be obtained
from the authors as ‘public domain software’ and

enables the operator to change and adjust all
essential sets of data to a particular problem. Yet,
one can also select and apply far more unrea-
sonable combinations than reasonable ones -
which is in the nature of the model considering
the complexity the model offers. The agreeable
‘learning by playing’ which is typical for so many
simple models, turns out to be not so easy after
all.

The model uses the following physical data:
the sedimentation rate for solid phase advection,
temperature for correcting diffusion, porosity and
the derived formation factor. A description of
bioturbation is obtained by utilizing a mixture-
related coefficient, comparable to the diffusion
coefficient. An indication of depth informs how far
below the sediment surface bioturbation will be
effective.

Constant concentrations are assumed for the
following components in bottom water: O2, NO3

-,
SO4

2-, Mn2+, Fe2+, NH4
+, salinity, alkalinity and pH-

value. As the model STEADYSED1 exclusively
tolerates steady state situations, this assumption
naturally requires constant concentrations in bot-
tom water as a prerequisite.

Fig. 15.16 Measurements and results of a model calculation performed with CoTReM applying to the upper
centimeters of a sediment core from equatorial West Africa (GeoB4906, 1251 m water depth) (after Pfeifer et al.
2002). The symbols in the left diagram represent measured values of pore-water concentrations (circles: oxygen,
diamonds: nitrate, triangles: manganese, squares: iron, crosses: sulfate). The unbroken lines denote the
concentrations calculated by the model. The right diagram illustrates the assumed (bio)geochemical reactions which
take place in various depths and display dissimilar turnover rates. (OM: Organic matter).
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Fig. 15.17 Concentration profiles in pore water of three examples from marine sediments. Data represented by
symbols were taken from Canfield et al. (1993 a,b), whereas the curves demonstrate the respective simulations
carried out with the model STEADYSED1 by Wang and Van Cappellen (1996).

As for the solid phase of sediment, the input
of iron and manganese oxides, the amount of
organic substance, and the C:N:P ratio of the
organic substance are used. The diagenetic
decomposition of the organic substance mediated
by the electron acceptors oxygen, nitrate, manga-

nese and iron oxides, sulfate, all the way to me-
thane fermentation, is simulated according to the
reactions published by Froelich et al. (1979).
However, the user may also select the C:N:P ratio
of the organic substance. The re-oxidation of iron
sulfides, and manganese sulfides, or of methane is

15.3 Numerical Solutions for Diagenetic Models
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preferably performed as ‘secondary redox reac-
tions’. Moreover, the adsorption of ammonium,
and the precipitation/dissolution of iron carbo-
nate, manganese carbonate, and iron sulfide can
be included. For all these reactions, the analyst is
able and required to select the adequate rates.

This is where the general problems in apply-
ing such models occur: with all the parameters
and boundary conditions that need to be set,
there will be so many ‘buttons’ and control
options ultimately allowing for almost any kind
of modeling of the measured data. Only if so
many examples are available as Wang and Van
Cappellen (1996) found in the data of Canfield et
al. (1993a, b) based on measurements, will it be
possible to come to substantial and reasonable
results. Figure 15.17 shows concentration
profiles for O2, NO3

-, NH4
+, Mn2+, Fe2+ measured

in the pore water of three cores. Figure 15.18
demonstrates the solid phase concentration
profiles of Fe- and Mn participating in the
reactions.

If one compares the two model programs
CoTReM by Adler et al. (2000b), on the one hand,
and the model STEADYSED1 published by Wang
and Van Cappellen (1996) on the other, the
following aspects need to be emphasized:

•   Both models have been made freely available
by the respective authors as public domain
software and hence can be used by every-
one.

•   Both models are not easy to operate and re-
quire at least some background knowledge in
modeling procedures and early diagenetic
reactions.

•   Both models simulate the complex situation of
combining diffusive, advective and biotur-
bational transports in pore water and in the
solid phase. They contain the various
reactions of early diagenesis and require a
large number of reliable measurements. Other-
wise, too many degrees of freedom would
remain.
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Fig. 15.18 Concentration profiles of iron and manganese solid phases in sediments derived from three marine
examples. Data represented by symbols were taken from Canfield et al. (1993 a,b), whereas the curves demonstrate
the respective simulations carried out with the model STEADYSED1 by Wang and Van Cappellen (1996).
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•   Both models contain the possibility to simulate
bioirrigation; STEADYSED1 generally treats
bioirrigation and bioturbation with much more
thoroughness and reliability.

•  STEADYSED1 is quite limited as far as its
chemical processes are concerned (absence of
real activities in the pore water, and hence only
apparent equilibrium constants, complex
species are not included). However, it contains
all the essential processes currently known.
CoTReM is much more flexible owing to the
utilization of PHREEQC (Parkhurst 1995) as a
subroutine, yet it requires proportionally more
information.

•   The model CoTReM works with Fick’s Second
Law of Diffusion and thus permits the
calculation of any possible, especially non-
steady state situations. STEADYSED1 can
only be applied to calculate steady state
situations which accordingly demand the
existence of steady state boundary conditions.

15.4    Bioturbation and Bioirrigation
   in Combined Models

Bioturbation is normally modeled by applying a
bio-diffusion coefficient to the pore water
fraction and the solid phase. This means that a
bio-diffusion in the solid phase will be simu-
lated with the same model concept which is
applied in the form of Fick’s laws to the dis-
solved constituents in pore water. Under the
assumption of a given steady state (e.g.
STEADYSED1), this requires that a sufficient
length of t ime is studied which allows the
macroorganisms contributing to bioturbation to
display activity all over and as many times as
appears necessary. Only then will each part of
the solid phase be turned over often enough in
the statist ical balance, hence providing a
workable model concept. As for cases of non-
steady state and short observation periods the
model concept actually cannot be considered
as valid.

Figure 15.19 shows, in one exemplary model
calculation carried out with STEADYSED1, the
conversion rates of iron and manganese in the
upper sediment zone and their exchange with
the supernatant bottom water layer.  I t  is
evident that the amounts of iron which ultima-
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Fig. 15.19 Iron and manganese fluxes in superficial marine sediments and bottom water, as obtained from
calculations using the model STEADYSED1 by Wang and Van Cappellen (1996). Here, it is significant that
bioturbation and bioirrigation were included in the task.
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Fig. 15.20   Left: Oxygen and nitrate profiles influenced by bioirrigation within the upper 10 cm as modeled
with an Excel® spreadsheet according to the ‘Press F9 method’. The simulation was performed on the basis of
anticipating a partial coupling of pore water to the concentrations prevalent in bottom water in the upper 10
cm of the sediment. Right: Here, a quantity of bottom water was continually added in a specific depth. The result is
related to the measurement shown in Figure 3.24 after Glud et al. (1994).
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tely become deposited in the sediment (burial
flux) as FeS, FeCO3, or in an adsorbed state, are
essentially smaller than the amounts under-
going conversions in the upper parts of the
sediment and which have therefore undergone
redox processes several times before. The lower
part  of Figure 15.19 demonstrates the
corresponding turnovers of manganese with
again quite specific ratios between the burial
flux, conversion rates in the upper sediment
zone, and exchange with the bottom water.

The simulation of bioirrigation is much more
difficult, a circumstance which pertains to its
nature, since the process, endowed with great
inhomogeneity and strong dependence on the
organism under study, combines bottom water

with pore water at the particular depths con-
cerned. How this combination becomes effec-
tive in any one particular case, and to which
degree it also influences the pore water not
involved directly, naturally depends on the
macroorganisms presently responsible for the
effect.  Thus, the process actually eludes a
generalized solution and should be treated
individually for each special case. To this end,
workable models are not available in sufficient
number,  neither are there any adequately
applicable modeling techniques at hand.

In Figure 15.20, and by using the ‘Press-F9-
method’ described in Section 15.3.1, two steady
states displaying bioirrigation have been cal-
culated. The case shown on the left-hand side
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15.5 Problems

anticipates an upper sediment zone continually
influenced by bioirrigation, whereas the case
shown on the right merely assumes surface
coupling in a specific depth - e.g., by the effect
of a particular worm-hole. The result may be
compared with the measurements conducted by
Glud et al. (1994) and shown in Figure 3.32. Just
as Wang and Van Cappellen (1994) have
described it in one application of the model
STEADYSED1, the situation here is that
bioirrigation conveys nitrate into the sediment,
whereas, at the same time, molecular diffusion
transports nitrate from the sediment back into
the bottom water. This results from the fact that
both processes are coupled to the bottom water
layer in different depths of the sediment. In the
case of diffusion, these are the superficial
nitrate-rich zones,  whereas in the case of
bioirrigation, the deeper situated zones are
effective, which contain only small amounts of
nitrate.

Ultimately, all these agreements between the
measured profile and the resultant model are not
really significant since they merely represent a
direct application of the model concept of
bioirrigation, i.e., the pore water input conducted
from the bottom water at a certain depth in the
sediment. Yet, these models are only interesting
inasmuch as the non-diffusive transport between
sediment and bottom water results from them.
These are exemplified for iron and manganese in
Figure 15.19, calculated with a similar model
concept using the program STEADYSED1. It
should be kept in mind that these calculations are
only workable to the point as they comply to a
rather simplified model concept and to a
stationary situation anticipated not only in the
‘Press F9 method’ but in STEADYSED1 as well.
Only by conducting measurements of the material
fluxes in-situ at very dissimilar locations, and
after repeated comparisons with the adequate
models have been made, will the previous model
concepts and the calculated fluxes ever become
verified in the future.
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15.5 Problems

Problem 1

Table 15.1 shows an analysis of ocean water
made by Nordstrom et al. (1979). A condition of
oversaturation of the minerals calcite (SI = 0.76)
and dolomite (SI = 2.4) at a measured pH value
of 8.22 has been calculated for this analysis
with the model PHREEQC (see also Table 15.3).
What pH is to be expected if we calculate the
saturation state of both minerals in this ocean
water sample with PHREEQC under the con-
dition of log pCO2 = –3.47  ?

Problem 2

At which pCO2 would the mineral calcite in
the ocean water sample in Table 15.1 (Nord-
strom et al., 1979) be saturated if a pH value of
8.22 had been measured ? How could this pCO2
which is markedly below the value of the
atmospheric be explained ?

Problem 3

What penetration depth of oxygen would
you expect in a sediment, if the removal of
oxygen can be described in terms of a half-life
of 5 days? Sediments have a temperature of
10°C. Their porosity is at 70 percent. For the
diffusion coefficients use Tables 3.1 and 3.2.
The bottom water shall have an oxygen concen-
tration of 200 µmol l-1. Use an oxygen concen-
tration less than 1 µmol l-1 as “zero”.

Problem 4

A different sulfate concentration gradient is
measured above the sulfate-methane transition
zone than underneath the methane zone. How
could this be explained, despite the fact that
sulfate and methane react with each other in a
ratio of 1:1 ?
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Answers to Problems

Chapter 1

Answer 1

Deep-sea or red clay covers the deep ocean
basins below CCD. Calcareous sediments cover
topographic highs like ocean ridges above CCD.
Siliceous sediments occur in the Southern Ocean
around Antarctica, along the equator in the
Indian and Pacific oceans. Terrigenous sediments
drape the continental margins.

Answer 2

Because of chemical tropical weathering, Kaolinite
is considered the “clay mineral of low latitudes”.
As a product of continental weathering Illite
shows high concentration at mid-latitudes of the
northern oceans surrounded by great land mas-
ses. Chlorite as a product of physical weathering
is essentially inversely related to kaolinite and
referred to as the “high latitude mineral”. Smectite
showing a very variable distribution in the oceans
is generally considered as an indicator of a “vol-
canic regime”.

Answer 3

Large quantities of sediment are provided by
rivers and directly from land and deposited on the
shelf and/or directly beyond the shelf edge on
the continental slope. The youngest crust occurs
along the mid-Atlantic ridge and increases with
distance from the ridge to the margin where more
time is available to accumulate greater sediment
thicknesses.

Answer 4

Basically, sedimentation rate decreases with
increasing distance from the sediment source.
Since for terrigenous sediments fluvial input is the
major source sedimentation rate decreases with
distance from river mouth and/or coast. The

lowest values are reached in the oceanic basins
far offshore where red clay accumulates extremely
slowly. Sedimentation rate for biogenic sediments
– calcareous as well siliceous – depends on high
biogenic production, on carbonate compensation
depth CCD) and dilution by terrigenous sediments
is low.

Answer 5

Deep sea sediments are generally best described
by composition according to particle origin, e.g.
non-biogenic (terrigenic, volcanic) versus bioge-
nic and can further be differentiated according to
mineralogy (carbonate or opal) and/or texture
(mud, ooze, clay).

With respect to relative distance from shore or
continents sediments are called “pelagic sedi-
ments” consisting of biogenic oozes (carbonate
and/or siliceous) and only very little admixtures of
extremely fine-grained land derived material. They
are distinguished from “hemipelagic sediments”
typically deposited along continental margins and
containing a substantial portion of land or shallow
water derived components.

Chapter 2

Answer 1

Bulk parameters are based on a volume-oriented
model which only depends on the total amount of
pore fluid and sediment grains. Acoustic/elastic
parameters like P- and S-wave velocity and atte-
nuation are based on a micro-structure oriented
model which considers both the amount and
distribution of pore fluid and sediment grains.

Answer 2

A direct method is the analysis by weight and
volume, indirect methods are gamma ray atte-
nuation and electrical resistivity measurements.
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Analysis by weight and volume primarily deter-
mines the wet bulk density, gamma ray attenuation
the wet bulk density (by assumption of a proces-
sing porosity), and electrical resitivity the porosity.
Porosity values can be converted to density values
(and vice versa) by using equation 2.3.

Answer 3

Calcareous and siliceous sediment differ
significantly by their sediment grain density. It
amounts to about 2.7 g cm-3 for calcareous ooze
and to about 2.1 g cm-3 for siliceous ooze, so that a
downcore grain density model has to be developed
from the carbonate (and opal) content, in order to
calculate wet bulk densities from porosities.

Answer 4

The (mean) grain size mainly influences the
ultrasonic wave propagation. P-wave velocity and
attenuation increases with increasing (mean) grain
sizes.

Answer 5

The strength of a reflection horizon is determined
by the reflection coefficient R = (I2 - I1 ) / (I2 + I1 ),
which depends on the acoustic impedance
contrast of the two adjacent layers. The acoustic
impedance (I) depends on the P-wave velocity (vP)
and wet bulk density (ρ) and is defined as the
product of both parameters, I = vP ρ.

Chapter 3

Answer 1

Measurement in fresh sediment: oxygen, pH-value,
sulfide. As soon as possible in squeezed or
centrifuged pore water: alkalinity, ammonia, total
iron. After preservation within some weeks:
manganese, nitrate, potassium. Without preser-
vation even after long time: chloride, sodium,
sulfate.

Answer 2

Diffusion coefficient in seawater DSW for SO4
2- at

5°C is 5.72E-10 m2 s-1. Tortuosity for a sediment
with a porosity of φ = 0.7 is θ2 = 1.71. Diffusion

coefficient for SO4
2- in pore water under these

conditions is Dsed = 3.3E-10 m2 s-1. The gradient in
the depth interval between 0 and 6 m is 28 mol m-3

per 6 m = 4.7 mol m-3 m-1. The downward flux of
SO4

2- is Jsed = 0.7 · 3.3E-10 · 4.7 mol m-2 s-1 = 1.1E-9
mol m-2 s-1 or 34 mmol m-2 a-1.

Answer 3

Diffusion coefficient in seawater DSW for O2 at 5°C
is 1.23E-9 m2 s-1. Tortuosity for a sediment with a
porosity of φ = 0.7 is θ2 = 1.71. Diffusion coefficient
for O2 in pore water under these conditions is Dsed =
7.2E-10 m2 s-1. The steepest gradient close to the
sediment surface (depth interval between 0 and ca.1
mm) is 28 mol m-3 m-1. The downward flux of O2 is Jsed
= 0.7 · 7.2E-10 · 28 mol m-2 s-1 = 1.4E-8 mol m-2 s-1 or
0.45 mol m-2 a-1. With an O2/DIC-ratio of 138/106
(cf. Eq. 3.10 and Fig. 3.11) this rate is equivalent to
0.34 mol DIC m-2 a-1  or 4.1 g C m-2 a-1.

Answer 4

A glove box with an inert gas atmosphere is
necessary for all steps from sampling to analyzing
anoxic pore water and/or sediment for consti-
tuents which would be oxidized in contact with
the normal atmosphere. Such constituents are e.g.
Fe2+, Mn2+, NH4

+, S2-. Only especially pure and
expensive nitrogen does not contain interfering
oxygen concentration. Normal argon usually
contains sufficiently low oxygen concentration
and is much cheaper.

Answer 5

Elements of mainly terrestrial origin are: Ti, Al, Fe,
K, Rb, Mg. A mainly marine input is characteristic
for Ca, Sr, (Ba). The elements Mn, S, (Fe) reach the
sediment solid phase mainly by diagenetic
processes.

Chapter 4

Answer 1

Enrichment of organic matter in marine sediments
is mainly favored by the combined effects of low
oxygen concentrations, either already in the water
column or at shallow depth in the pore water
system of the sediments, and high sedimentation
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rates, particularly in areas of high primary biopro-
ductivity. The stagnant basin and the productivity
model are used to illustrate favorable conditions
for organic matter preservation. In addition, high
sinking velocities, adsorption or organic matter to
mineral matter (clay) and small grain sizes of the
deposits, restricting exchange with the oxygen-
containing ocean water after sedimentation,
contribute to organic matter preservation.

Answer 2

Molecular oxygen and seawater sulfate are the main
electron acceptors which mediate organic matter
metabolization during early diagenesis by aerobic
and anaerobic bacteria, respectively. Nitrate,
iron(III), and manganese(IV), often in that order of
significance, are additional electron acceptors in
organic matter respiration. Ultimately, methano-
genesis uses carbon as electron acceptor at greater
sediment depth, when sulfate is depleted.

Answer 3

Not all parts of the biomass of decayed organisms
have the same chance of being preserved in the
fossil record. Water-soluble organic compounds
or organic biopolymers easily hydrolyzed into
small water-soluble monomers are rapidly recycled
already in the water column or early during
diagenesis. Examples are proteins and carbohy-
drates and their monomeric forms, sugars and
amino acids, respectively. Hydrophobic lipids
have a significantly higher preservation potential,
which increases with increasing molecular weight.
Reaction of organic matter with reduced sulfur
inorganic sulfur species (e.g. hydrogen sulfide)
formed during bacterial sulfate reduction, further
enhances the preservation potential by the
formation of high-molecular-weight organic mate-
rial.

Answer 4

Biological markers are organic molecules which
preserve their carbon skeleton after the decay of
organisms and through the processes of
sedimentation, diagenesis and eventually catage-
nesis in a way that a correlation with a (group of)
precursor organism(s) is still possible. This rela-
tionship may reveal important information of the
environmental conditions at the time of sediment
deposition. Cyclic lipids like steroids and penta-

cyclic triterpenoids have proven particularly
useful as biological markers or molecular fossils.

Answer 5

A key question to be answered by organic geo-
chemists is that of the marine or terrigenous origin
of organic matter in sediments and the extent of
mixing of the two components, respectively. A
number of bulk and molecular organic geochemical
parameters are available to address this question,
including elemental analysis, carbon stable iso-
tope analysis, organic petrography and specific
biological markers for marine and terrestrial
organic matter. Sea surface temperatures can be
reconstructed by the analysis of the degree of
unsaturation of long-chain alkenones from hapto-
phytes preserved in sediments (U 37

K'  index) or by
the determination of the number of cyclo-pentane
rings in fossilized Crenarchaeotal membrane lipids
(TEX86 index). Information on the sedimentary
methane cycle can be obtained by the combined
analysis of specific membrane lipids of the orga-
nisms involved in this process and by the deter-
mination of the carbon stable isotope signal of
lipids from methanotrophic microorganisms.
Subtle changes in molecular structure and their
sterical orientation reveals information of the
progress of diagenesis and catagenesis.

Chapter 5

Answer 1

A simplified calculation of diffusion distance, L =
(2Dt)0.5 (Eq. 5.7), is made here for chloride: The
diffusion coefficient for Cl- at deep-sea tempe-
rature (4ºC) is D = 11 · 10-10 m2 s-1 (see Chapter 3,
Table 3.1); the time is 10,000 years = 3.2 · 1011 s;
thus, L = (2 · 11 · 10-10 · 3.2 · 1011)0.5 = 26 m. So, the
lowered salinity of the world ocean since the end
of the last glaciation can be traced in the pore
water profile of chloride down to about 26 m
below seafloor.

Answer 2

The following processes are energetically
feasible: 2, 3, and 5. Process 2 has, however, not
been detected in marine sediments and no micro-
organisms are known that can carry out the
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process. Process 3 proceeds chemically whereas
process 5 is biologically catalyzed.

Answer 3

Thioploca are chemolithotrophs. If they assimi-
late CO2 as the sole carbon source they are che-
molithoautotrophs. If they assimilate only acetate
they are chemolithoheterotrophs.

Answer 4

Concentrations of dissolved organic compounds
are very low in the open ocean. Small cells are
relatively more efficient than large cells in taking
up these compounds and can therefore have
higher biomass-specific metabolic rate.

Answer 5

The organic carbon of the plankton cell must first
be buried to a sediment horizon below the pene-
tration depth of sulfate. Here, the particulate
organic material must be degraded by hydrolytic
exoenzymes. The breakdown products are then
fermented by bacteria in several steps to acetate,
hydrogen and CO2, which are ultimately conver-
ted to methane by methanogenic archaea.

Answer 6

High sensitivity in such a radiotracer experiment
is achieved with a large amount of radioactivity
and a long incubation time (both, of course,
within certain limits). The efficient separation of
the radioactive methane from the sample at the
end of the experiment and the sensitive measure-
ment of its radioactivity are also important. The
sample size is not important as long as all
produced radioactive methane is measured.

Chapter 6

Answer 1

Oxygen is the main electron acceptor during
microbial degradation processes of organic
substance. The energy yield for organisms when
using oxygen is higher than for all other con-
stituents. Products of the other reactions in the
sequence of remineralization (e.g. iron or sulfate

reduction) are reduced species, which are partly
re-oxidized by or under participation of oxygen.
Under this point of view the total benthic
consumption of oxygen is composed by direct
oxygen assimilation and those secondary sinks.
Just because re-oxidation is only one, but in most
cases the dominant pathway for reduced species,
this simplification is not correct. Of course, this
approach of estimation can not be used under
reduced benthic condition, which can prevail for
example in more or less closed basins (e.g. the
Black Sea).

Answer 2

Carbon limited means that not enough reactive
organic carbon is available in order to pursue
mineralization processes. If there is organic
carbon available in excess all potential oxidants
will be used up quickly. These two extremes are
met on the deep sea plains and in shallow marine
environments along the continental margins,
respectively. All types of transitional environ-
ments are found in-between.

Answer 3

Denitrification is the only biological process that
produces free nitrogen. It removes fixed nitrogen
compounds and, therefore, exerts a negative
feedback on eutrophication making it a crucial
process for the preservation of life on earth.

Answer 4

Under anoxic conditions iron oxides are reduced
and cannot act as a major carrier of phosphate in
the sediments. Hence, phosphate, which is
released from organic material in the course of
mineralization processes, will mostly diffuse into
the bottom water (and further enhance biological
productivity), thus, decreasing the Corg/Porg ratio
of the sediments.

Answer 5

The anaerobic oxidation of ammonia can be an
important process in the absence of oxygen, if
nitrite as an alternative electronacceptor is avai-
lable. Nitrite does usually not accumulate in high
concentrations but may be continuously delivered
by bacteria using nitrate as electron acceptor for
the oxidation of organic carbon. Thus, anammox
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can be expected in anaerobic environments, which
are rich in ammonia, organic material and nitrate.

Chapter 7

Answer 1

a) 146,880 tons of total Fe; 64,260 tons of highly
reactive Fe.
b) 25,704 tons of highly reactive Fe remains in the
estuary and the near-coastal zone.
c) atmospheric input.

Answer 2

a) specific surface area; degree of crystallinity;
and the standard free energy, ∆G0 (or respective
solubility constant, K)
b) Natural sediments comprise a wide range of
iron oxyhydroxides with different dissolution
behavior under the given extraction conditions.
The extraction result is the fraction of iron which
dissolved during the incubation; this fraction
may result from the dissolution of various phases
which contributed with different quantities.

Answer 3

Bioturbation is an effective transport mechanism
to replenish freshly precipitated, highly reactive
iron oxyhydroxide from the sediment surface to
the zone of iron reduction. Vice versa, reduced
iron phases, e.g. FeS, is transported to the oxic /
suboxic zone, where it becomes oxidized.

Answer 4

Flux and composition of reactive iron input to
surface sediments; bioturbation; competitive iron
reduction pathways, e.g. by sulfide.

Answer 5

a) oxideFepyriteFe
pyriteFeDOP

−+−
−= ;

DOP is the degree of pyritization, a measure for
the fraction of reactive iron being bound to
pyrite.
b) Fe-pyrite is determined with the Cr(II)/HCl
extraction; Fe-oxide is determined with the di-
thionite-extraction.

Chapter 8

Answer 1

No, it does not really matter. The end products
may be similar by the two pathways. This makes it
difficult to distinguish them, either from geoche-
mical profiles or from experiments.

Answer 2

The H2S is oxidized chemically by MnO2 to
elemental sulfur, S0. The S0 is then disproporti-
onated by bacteria to H2S and SO4

2- in the ratio
3:1. The new H2S formed may again be oxidized by
MnO2 to S0, and the cycle is repeated until the H2S
is completely oxidized to SO4

2- (Eq. 8.21).

Answer 3

By a relatively thin oxic and suboxic zone, e.g. in
organic-rich sediments or in oxygen-deficient
environments, relatively more organic material is
buried down into the sulfate zone. Bioturbation
enhances the burial of relatively fresh organic
material into the sulfate reduction zone. At the
same time, however, bioturbation and bioirrigation
deepen the oxic-suboxic zones and thereby push
down the zone of sulfate reduction.

Answer 4

Sulfate reduction is generally most intensive just
below the oxic and suboxic zones, yet advective
processes such as bioirrigation in the upper part
of the sediment counteract a decrease in sulfate
concentration. Anaerobic oxidation of methane, in
contrast, provides a deep and focused sink for
downward diffusing sulfate that tends to control
the depth of sulfate penetration, independent of
the near-surface activity.

Answer 5

The lock-in of a diagenetic front may be caused
by non-steady state diagenesis due to a shift in,
e.g. the rate of sediment deposition, the type of
sediment or its organic content, the oxygen
concentration of the bottom water, or the methane
flux from below. As a result, the diagenetic front
may be stationary within a sediment horizon for a
prolonged period.
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Chapter 9

Answer 1

The CaCO3 production on continental shelves is
about 24.5 · 1012 moles per year. The carbonate
production of the continental slope areas is only
about 6 · 1012 moles per year, whereas the produc-
tion of the pelagic ocean is about 60-90 · 1012

moles per year (cf. Tab. 9.5).

Answer 2

CaCO3 production comprises the total amount
produced in the surface waters. Accumulation is
the - much smaller - portion which becomes buried
in the deeper sediment. The difference between
both comprises the dissolution in the water
column and in the upper parts of the young sedi-
ment, from where dissolved inorganic carbon
(DIC) still can be transferred to the bottom water.
Thus the sediment below the calcite compensation
depth (CCD) is characterized by no calcite accu-
mulation. Below the CCD calcite particles may
reach the seafloor and may even be found in the
upper few decimeters of the young sediment, but
they will be dissolved according to processes of
early diagenesis.

Answer 3

At high latitudes the calcite compensation depth
(CCD) is at a water depth of about 3000 m,
whereas in low latitudes the CCD is at a depth of
about 5000 m. The undersaturation with respect to
calcite of the deep ocean is caused by cold water,
which sinks to the seafloor at high latitudes and
flows as deep water current towards the low
latitudes. The closer the deep current comes to
the low latitudes, the more calcite from the
production in surface waters is dissolved in the
upper parts of the deep current. Thus the CCD of
the deep water current is continuously lowered on
the way from high to low latitudes.

Answer 4

The predominant carbonate species in normal sea-
water is bicarbonate (HCO3

-), close to 70 % of the
dissolved inorganic carbon (DIC). About 10 % of
the total calcium in normal sea-water exists as
CaSO4 complex. This complex is rather insignifi-

cant in anoxic pore-water if the sulfate is con-
sumed by anaerobic methane oxidation (AOM).

Answer 5

Oxidation of Corg results in a production of
dissolved inorganic carbon (DIC) and thus in an
undersaturation of the pore water with respect to
calcite. If calcite is present in the sediment solid
phase, it will be dissolved until saturation is
reached. Due to these reactions the concentration
of DIC in pore-water is usually higher than in
ocean bottom water. This gradient causes a diffu-
sive flux from the sediment to the bottom water.
Upwelling areas are characterized by very high
Corg content of the sediment and high fluxes,
deep-sea sediments by low Corg content and low
fluxes.

Chapter 10

Answer 1

0.02 · -45 ‰ (ice caps) + 0.98 · 0.0 ‰ (modern
ocean) = -0.9 ‰.

Answer 2

38,000 Gt  ·  0.3 ‰   + (modern ocean)
     x Gt  ·  -25 ‰     = (terrestrial carbon)
     (38,000 + x) Gt  ·  0.0 ‰ (glacial ocean)
Therefore: 456 Gt, which is about 20% of the today´s
terrestrial carbon pool. Other explanations would
include the change in ocean pH (LGM: +0.2) and the
resulting influence on δ13C values in foraminifers
(Spero et al. 1997) or a change  in the ratio of inor-
ganic to organic carbon contributed to the sedi-
ments (Derry and France-Lanord 1996).

Answer 3

Using equations (10.9) and (10.13), the effect of
the b-value on pCO2 would range between 192 and
384 µatm, which underlines the importance of
physiological processes for paleo-PCO2 determi-
nations.

Answer 4

δ15N = 3‰ => f = 0.50
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higher nitrate availability during the upwelling
season, less nitrate utilization.
δ15N = 8‰ => f = 0.07
quick depletion of nitrate, low productivity.

Answer 5

The glacial pH was about 0.2 units higher. Hence,
the carbonate ion concentration was higher and
the atmospheric pCO2 was lower during the last
glacial, in accordance with ice core observations.

Chapter 11

Answer 1

To be meaningful, an EH, pH diagram must reflect
the environmental conditions of the system
under consideration. The EH, pH diagram of Mn
presented in Fig. 11.2 was calculated for the
following conditions pertaining to deep seawater
from the Angola Basin; temperature 2°C, density
(1.023 g cm-3), Ca 427 ppm, Mg 1,284 ppm, Na
10,760 ppm, K 390 ppm, Cl 19,350 ppm, Mn 0.012
ppb and Fe 0.021 ppb (Glasby and Schulz 1999).
These data give a realistic value for the concen-
tration of Mn in deep seawater and permit calcu-
lation of the degree of complexation of dissolved
Mn species with anions in solution. As such, this
diagram reflects as accurately as possible the
environmental conditions in which deep-sea
manganese nodules form in this region. By
contrast, the EH-pH diagram of Mn taken from
Garrels and Christ (1965) is plotted for a tempe-
rature of 25°C at a pressure of 1 atmosphere in
pure water in which the activity of dissolved Mn
is taken to be is 10-6. This, in no way, reflects the
conditions under which deep-sea manganese
nodules form. An additional problem is that there
are no standard free energy data for the fine-
grained manganese oxide minerals such as 10 Å
manganate and δMnO2 which make up manganese
nodules. This is a major limitation in using these
diagrams to infer the conditions of formation of
marine manganese deposits.

Answer 2

See answer to Problem 1. Again, there are no
standard free energy data for the fine-grained iron
oxyhydroxide minerals such as akagenéite (β-

FeOOH) which make up marine manganese
deposits.

Answer 3

a) Diffusion coefficient in seawater DSW for Mn2+

at 10°C is 4.46E-10 m2 s-1. Tortuosity for a
sediment with a porosity of φ = 0.84 is θ2 = 1.45.
Diffusion coefficient for Mn2+ in pore water under
these conditions is Dsed = 3.3E-10 m2 s-1. The
steepest gradient in the depth interval between
0.75 and 1.5 cm is 18.85 mol m-3 m-1. The upward
flux of Mn2+ is Jsed = 0.84 · 3.3E-10 · 18.85 mol m-2 s-1

= 5.2E-9 mol m-2 s-1 or 0.45 mmol m-2 d-1.
b) The highest concentrations of Mn2+ in pore
water were measured at between 4 and 6 cm below
the sediment surface. This is therefore the depth
at which Mn2+ is released.
c) Yes. The gradient between 0.25 and 0.75 cm
under sediment surface is 10.54 mol m-3 m-1 which
is only 56 % of the steepest gradient.

Answer 4

The NASC-normalized REE patterns for hydro-
genous manganese deposits generally display a
positive Ce anomaly which is a function of the
oxygen content of the ambient water mass. The
Ce/La ratio of these deposits can therefore be
used as a redox indicator (Glasby et al. 1987,
Kunzendorf et al. 1993, Kasten et al. 1998, Szefer
et al. 1998). The NASC-normalized REE patterns
for submarine hydrothermal manganese deposits,
on the other hand, sometimes display a negative
Ce anomaly and a positive Eu anomaly. In
principle, submarine hydrothermal manganese
crusts should display a negative Ce anomaly
typical of submarine hydrothermal fluids and
seawater (de Baar et al. 1985). In practice, many
hydrothermal crusts contain an additional
hydrogenous component characterized by a
positive Ce anomaly (Scholten et al 2004). From
the observed Ce anomaly, it is possible to calcu-
late the relative contribution of these two com-
ponents in the crust (Fleet 1983, Scholten et al.
2004, Fig. 12.14). However, this calculation ignores
the possible presence of volcaniclastic material
which frequently acts as a cementing agent in the
crust and which can significantly increase the REE
content of the crust (Scholten et al. 2004). A
positive Eu anomaly, on the other hand, indicates
that the hydrothermal fluid has exceeded 250°C at
some stage during its evolution. At this tempe-
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rature, Eu2+ becomes the stable form of Eu in
hydrothermal fluids resulting in elevated concen-
trations of Eu relative to the other REE in
submarine hydrothermal manganese crusts
(Sverjensky 1984, Michard and Albarède 1986).
Because the REE are preferentially adsorbed on Fe
oxyhydroxide minerals, it follows that the ΣREE
contents of marine manganese deposits are a
function of the Fe content of the deposit.

For the data presented here, the Ce/La ratios of
the samples lie in the sequence SW Pacific nodule
(5.7) > Co-rich Mn crust (4.5) > C-C F.Z. (3.5) >
Peru Basin (2.0). The SW Pacific nodule therefore
formed under the most oxygenated conditions and
the Peru Basin under the least oxygenated con-
ditions. This reflects the strength of the ocean
bottom currents and the oxygen content of the
bottom waters at these sites. The Vani Mn deposit
is a fossil stratiform hydrothermal deposit from
Milos island, Greece and the submarine hydro-
thermal crust both display negligible Ce anomalies
which is surprising in view of the fact that they
are clearly submarine hydrothermal deposits
which would be expected to have pronounce
negative Ce anomalies (Fleet 1983). However, the
Baltic Sea concretion displays a slight negative Ce
anomaly reflecting the less oxidizing conditions
prevalent during their formation (Szefer et al.
1998). The Eu anomaly, on the other hand, is
marked for the Vani Mn deposit, minor for the
submarine hydrothermal crust and slight for the
Baltic Sea concretion. These data indicate that the
Vani Mn deposit formed from hydrothermal fluids
which had been well above 250°C at some stage
and the submarine during their evolution. The
slightly positive Eu anomaly for the Baltic Sea
concretion probably reflects the incorporation of
plagioclase into the concretion during its growth.

Answer 5

A growth rate of 0.8 mm Ma-1 of Co-rich Mn crusts
makes them of the slowest growing minerals on
Earth. This low growth rate for hydrogenous
deep-sea manganese deposits is a reflection of the
extremely low concentration on Mn in deep-sea
water (~0.01 ppb, Fig. 11.1) and the slow rate of
removal of Mn from seawater. Growth rates of
manganese nodules formed on a red clay
substrate have been estimated to be 1-2 mm Ma-1,
of nodules formed on a siliceous ooze substrate 3-
8 mm Ma-1 and on nodules formed on a hemipela-
gic clay substrate 20-50 mm Ma-1 (Huh and Ku

1984). Growth rates of nodules formed as a result
of oxic (siliceous ooze) and suboxic (hemipelagic
clay) diagenesis are higher than those of
hydrogenous nodules (red clay) because of an
additional contribution from Mn derived
remobilization of Mn from the sediment pore water
(Sawlan and Murray 1983, Dymond et al. 1984,
Müller et al 1988). This frequently results in
higher growth rates on the underside of the
nodules than on the upper surface (Finney et al.
1984).  By contrast, very much higher growth rates
are encountered for ferromanganese concretions
from the Baltic Sea and from submarine hydro-
thermal manganese crusts. In the case of ferro-
manganese concretions from Mecklenburg Bay,
this reflects the enhanced migration of Mn from
below the redoxocline to shallower, more oxidizing
environments during the spring and summer in
this part of the Baltic (Liebetrau et al. 2002). In the
case of submarine hydrothermal manganese
crusts, reducing hydrothermal fluids migrate
upwards through the volcanic sands to form a
manganese-cemented hardpan within the upper
several cm of the sea floor (Usui and Nishimura
1992). Dense submetallic layers of pure manganate
minerals can then develop beneath this hardpan to
form the submarine hydrothermal manganese crust
which acts as a trap to ascending hydrothermal
fluids. Several authors have proposed that these
crusts grow downwards on the underside of the
crusts. This conclusion is supported by the youn-
ger ages of the underside of submarine hydrother-
mal manganese crusts from the Izu-Bonin Arc (0-
3,000 years) compared to those from the upper
surfaces (40,000-50,000 years; Usui and Nishimura
1992). The rapid formation of these crusts is
facilitated by the high concentrations of Mn in
submarine hydro-thermal fluids which range from
0.5 to 390 ppm (German and Von Damm 2004).

Chapter 12

Answer 1

ω = 2.7 cm kyr-1, burial rate Corg. = 0.0125 mg cm-2 yr-1,
degree of organic carbon preservation = 12.5 %.

Answer 2

Sediment traps cannot resolve the influence of
lateral particle transport processes. At best, these
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values give some indication of the mass accu-
mulation at the sea floor.

Answer 3

Without the justification from variogram analysis
that a statistically verifiable regional structure
exists within the database, any result of regio-
nalization by kriging will be extremely questio-
nable. The pure kriging method is only a weigh-
ting process. The necessary boundary conditions,
like the range of a structure, can only be deter-
mined by geostatistical methods.

Answer 4

Coupled benthic pelagic models are useful to
apply, because they enable a better understanding
of the interaction of global biogeochemical cycles.
For example, the impact of variations of minera-
lization processes in the sediment can be investi-
gated straightforward in terms of potential
changes in ocean water chemistry and hence,
climate feedbacks. On the other hand, their degree
of complexity and spatial resolution are rather
limited to date and hence, predictions are not very
precise when compared to data-based regiona-
lization approaches.

Chapter 13

Answer 1

A 350°C end-member fluid would have a Mg
concentratrion of 0 mmol kg-1, and seawater has a
Mg concentration of 52 mmol kg-1 (Fig. 13.9).
Therefore, the 250°C fluid, with a Mg concen-
tration of 15 mmol kg-1, contains about 71% of the
high-temperature end-member and about 29% of
mixed seawater. If the 250°C fluid contains 100
ppm Fe, then the high-temperature end-member
must contain about 140 ppm Fe (0.71 x 140 ppm =
100 ppm).

Answer 2

A concentration of 150 ppm Fe is equivalent to
150 mg of Fe per kilogram of fluid.  A black smoker
with a flux of 1 kg s-1 is discharging 3.2 · 107 kg of
hydrothermal fluid every year containing 4.8 · 109

mg of Fe (150 mg kg-1 Fe · 3.2 · 107 kg = 4.8 · 109 mg

Fe or 4.8 t Fe). One black smoker every 50 m along
the 55,000 km of mid-ocean ridge is equivalent to
1,100,000 black smoker vents. This number of
vents along the world’s mid-ocean ridges could
deliver more than 5 million tonnes of Fe to the
seafloor every year. (Note: this calculation neg-
lects any component of diffuse flow along the
ridges. Less than 10% of the fluids vented at the
ridge axis are discharged at black smoker tempe-
ratures. Therefore the total number of black
smoker vents is likely much smaller. For a more
complete analysis of metal fluxes at ridge crests,
see Elderfield and Schultz 1996).

Answer 3

A sulfide deposit with a diameter of 100 m and a
thickness of 25 m will contain a total volume of
sulfide equivalent to 196,250 m3. For a bulk
density of 3 g/cm3, the total amount of sulfide
present is 588,750 tonnes. The deposit therefore
contains 11,775 tonnes of Cu metal (2 wt.%),
29,437 tonnes of Zn (5 wt.%), and 88,312 tonnes
of Fe (15 wt.%). A vent complex with 100 black
smokers (each discharging 4.8 tonnes Fe per
year) and a depositional efficiency of 1% could
deposit this much Fe in 18,400 years [88,312
tonnes Fe per (4.8 tonnes/year · 100 vents · 1/100
efficiency) = 18,400 years].

Answer 4

The pressure at 1000 m depth is 100 bars (10 m =
1 bar). The maximum temperature of venting is
determined by the pressure on the two-phase
curve for seawater (Fig. 13.8).  At 1000 m or 100
bars, a hydrothermal fluid venting at the seafloor
cannot be hotter than about 310°C. At 500 m
depth or 50 bars, the maximum temperature will be
about 270°C.

Answer 5

Many reactions can be written, but the majority
of methane and carbon dioxide are produced in
marine sediments by the oxidation of buried
organic matter, following reactions of the type:
Corg + 2H2O = CO2 + 2H2 and CO2 + 4H2 = CH4 + 2H2O.
At 5°C, solid methane hydrates will be stable at a
pressure of about 45 bars (45 atm, Fig. 13.14),
which is equivalent to a depth of 450 m.  At 1°C,
the hydrate will form at about 300 m depth.
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Answers to Problems

Chapter 14

Answer 1

No! Defined by its stability field the potential
volume for gas hydrate is much larger in the deep
sea than on the upper slope; however, the
availability of sufficient methane is a critical
requirement for gas hydrate formation. Due to
high plankton productivity continental slopes
have, in general, higher organic carbon concen-
trations than deep sea areas. Higher amounts of
methane and gas hydrate are therefore restricted
to continental margins.

Answer 2

In principle there is no difference which methane
molecule is used to stabilize the clathrate struc-
ture. Hydrates formed from biogenic methane are
thought to be more widespread in marine sedi-
ments, and these can be formed from methane gas
produced in situ. In contrast, the presence of
thermogenic methane requires gas migration form
deeper sediment sources (e.g. in mud volcanoes).
Thermogenic methane is also accompanied by the
presence of higher hydrocarbons, which may
result in the formation of gas hydrate structure II,
whereas methane hydrate from biogenic methane
is restricted to structure I.

Answer 3

A methane concentration of 300 mM is clearly
above methane saturation and in a depth of 90
mbsf well in the stability for methane hydrate. It is
obvious that the same concentration of methane
in 250 mbsf is outside the stability field where it
occurs as free methane gas. A methane concen-
tration of 10 mM is clearly below the methane
solubility at both 90 and 250 mbsf, which means
that methane hydrate cannot be formed and the
methane occurs as a dissolved phase in the pore
water.

Answer 4

The chloride concentration is typical for an open
marine environment, suggesting no dilution by
gas hydrate dissociation.  More important, the
high sulfate concentration indicates that there is
no methane in the sediment. Even if methane were

migrating to this region, it would be consumed by
anaerobic methane oxidation (AOM).

Answer 5

Around 10 % of the pore space are filled with gas
hydrate.

Answer 6

Since chlorides and other ions from marine pore
water cannot be incorporated into the clathrate
structure, those constituents are enriched in
residual pore fluids when hydrate is formed in
marine sediments. When hydrate formation is
faster than the rate of salt removal by diffusion
and advection, the excess salt would accumulate
in the pore water resulting in the formation of a
brine.

Chapter 15

Answer 1

The pH-value is 7.6.

Answer 2

The log pCO2 is -4.1. The lower partial pressure of
CO2 in ocean surface water is usually caused by
algal photosynthesis.

Answer 3

A steady state penetration depth is expected at
about 12.5 cm.

Answer 4

Sulfate and methane have different diffusion
coefficients. Methane diffusion is about 50 %
faster. Different porosities at different depths of a
sediment profile are possible.
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Index

Index

A

Absolute isotope ratios 341
Acetate 488f
Activity

activity coefficients (γ)  318ff, 523f
calculation  514ff

Adenosine triphosphate (ATP)  181f, 186ff, 199, 222,
282

Adenosine diphosphate (ADP) 187, 222
Advection 112ff, 195,  209,  256ff,  472,  490,  530,  538

as term in Fick's second law  524f
of sediment  114f
→  fluid venting

Aerobic respiration
electron transport chain  188ff
→  OM degradation, fermentation

Alkalinity
benthic flux  328f
determination  102ff
distribution in the water column  208f, 315ff
influence of decompression on pore water conc. 93
modelling pore water conc. profiles  533f
pore water profiles  74, 534
product of AOM 506 (→  methane)
total flux measurements  110
total flux rates  110, 224
water column profiles  317

Aluminosilicates
authigenic formation  256f

Aluminum
solid phase profiles  118

Ammonia
15N-labelled ammonia  218
ammonification  217,  353
bacterial oxidation  212,  217ff
deamination  353
oxidation by MnO2  229f
release  151,  212ff
→  nitrate reduction, - respiration

Ammonium
aerobic oxidation (→ nitrification)
adsorption  542
anaerobic oxidation with nitrate (→ anammox)
determination  102ff
incorporation in the lattice of minerals  356

modeled pore water profiles  541
reoxidation  213f

Anaerobic oxidation of methane (AOM)
→  mathane, sulfate
→  secondary ion mass spectrometry (SIMS)

Anaerobic mineralization 190ff
Anammox  217f,  353
Anhydrite (CaSO4)

ion activity product (IAP)  514
precipitation through hydrothermal venting  460ff
saturation index (SI)  518
→  black smokers, hydrothermal convection systems

Antarctic Bottom Water (AABW)  371, 381, 388ff,
403f, 408ff, 446

Antarctic Circumpolar Current  19, 23
Antarctic Intermediate Water (AIW)  19, 23
Apparent constants  317f
Aragonite  503f

δ18O values  504
→  gas hydrates, carbonates

Archaea →  methanogens

Archie's law  29,  82

B
Back-arc spreading centers  491
Banded Iron Formations  241, 254
Barite (BaSO4)

crusts in areas of subduction venting  473
influence by sulfate reduction  288f, 473

Barium
concentration in pelagic clay  376

... average shale  376
deposition rates in dust  377

... organic aggregates  377

... red clay  377
pore water profiles  74, 288
solid phase profile  118

Beggiatoa  187, 214f, 294, 298, 506
Benthic flux measurements

concentration gradient  79, 82ff, 431f
diffusive transport  77ff, 223, 431ff
Fit-functions  432
in-situ versus ex-situ  91ff, 225f, 433
microniches / -environment (→) 433f
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sample resolution  432
seasonal variation  78f, 233, 433f
total transport  223ff, 431ff

Benthic transport mechanisms  431ff
advection   112ff, 195, 256ff
bioirrigation (→) 112ff, 195, 256ff, 430ff, 543ff
bioturbation  112ff, 195, 256ff, 430f, 441, 540ff
molecular diffusion (→) 79ff, 87f, 195f, 256ff, 430ff,

523f
Beryllium

10Be dating method  401ff
Biodiffusion

→  bioirrigation, bioturbation

Bioerosion  10
Biogenic silicate (biog. opal)  10, 440f

accumulation  446
benthic recycling rate  444, 445ff
benthic release  444ff
density  38
dissolution  10, 440f
importance to authigenic clay mineral formation

256f
physical properties  67
siliceous ooze  14
solubility  446

Biogenous sediments  8ff
classification  52ff
distribution on continental shelves  16f
major groups of marine organisms  9
P-wave velocity and attenuation  54ff

Biogeochemical provinces  435ff, 442ff, 445ff, 452
Bioirrigation  112ff, 195, 256ff, 430ff, 543ff
Biological catalysation of reactions 169ff
Biomarkers (marine) 133, 138, 146ff

taxonomic significance  147
→  OM - chemical composition, terrestrial  biomarkers

Biopolymers (insoluble, nonhydrolyzable highly
aliphatic)  138ff

selective preservation  143f
Biot-Stoll Model  29, 44ff
Bioturbation  112ff, 195, 256ff, 430f, 441, 540ff, 543ff

(biodiffusion)-coefficient (Db)  216, 258f, 253, 437
as correlated with SR  115f
determination by radioactive isotopes  116,

196, 258f
influence of geochemical conditions  212f, 277,

359, 513f
influence on solid phase profiles  259f

Birnessite  398
Bitumen 144ff, 150

analysis  160f
Black shales 126ff, 130, 132f, 135, 241, 358
Black smokers and massive sulfide mounds 457ff

growth rates of chimneys  463ff
hydrothermal recrystallization  465
sequence of mineral precipitation  463
→  white smokers

Boron
fractionation in seawater  360
δ11B in marine carbonates  361
δ11B in sea and pore waters  360
application as paleo-pH proxy  361f

Bottom-simulating-reflector (BSR)
→  gas hydrates

Boudreau's law 79ff, 87f, 524
Brines 459, 466ff, 496, 501
Bromine

solid phase profile  118
Burial rate  135f, 216, 260, 437ff
Buserite  398
Butane  483f

 →  gas hydrates

C

C3 / C4 / CAM plants  152ff, 348
Calcareous ooze 10, 14

mean grain size  51
pelagic distribution  18f
physical properties  67

Calcite-carbonate-equilibrium 317ff, 325, 352f
analytical solution  319f
Calcite Compensation Depth (CCD) 13, 17f, 22f, 311

Calcium
influence of decompression in pore water conc.  97
leaching through water/rock interactions  461
pore water profile  74
solid phase profile  118

Calcium carbonate
accumulation rates  315f, 324, 446, 447f, 450f
acicular aragonite  8f
benthic precipitation  351
budget calculations  325ff
calcareous ooids  8f
Calcite Compensation Depth (CCD)  13, 17ff,  311f,

385, 388, 390, 403, 442
carbonate platforms  312f
carbonate-secreting organisms  9
continental shelves  313ff
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Index

crusts in areas of subduction venting  473
δ13C in marine carbonates  351ff
δ18O in marine carbonates  343ff, 504
deep-sea sediments  10
density  39
dissolution  314ff, 317ff, 325f, 326ff, 345, 351f
dissolution kinetic  328f
dissolution vers. org. carbon mineralization  331
distribution of dissolution rates  332
effects of differential dissolution on δ13C  352f
formation related to anaerobic methane oxidation

473  (→  gas hydrates)
Heterozoan association  312
pelagic calcareous sediments  315ff
phosphatic particles  9
Photozoan association  312
production  17, 22, 315ff, 324
reefs  10, 312ff, 325
saturation levels  315
shallow-water carbonates  8ff, 311ff

Calyptogena clams  505f
Carbon

14C  154, 196
benthic release  330ff
C/N and C/N/P ratios → organic carbon
fluxes from deep-sea sediments  327ff
photosynthetic fixation  347ff, 351
stable isotope ratios  151f
→  organic carbon

Carbon dioxide
air-sea exchange  346f
concentration in the Vostok ice core  245
δ13CO2-minimum due to sulfate-methane reaction

281f, 351
δ13CΣCO2 of seawater (→)  346f
distribution in the water column  210, 317
estimation of surface water concentration  349f
flow injection analysis  103
in gas hydrates  482ff
in-situ measurements  110
influence of decompression on pore water conc.

93ff
iron hypothesis  244f
kinetic fractionation during photosynthesis  (εp)

339ff
partial pressure (pCO2)  318ff
pore water δ13C  350f
pore water profile  274
reconstruction of paleo-pCO2  348f
release 317, 320f, 327ff
solubility  327f
total flux measurements  224
total flux rates  110, 224
water column profile  317
→  inorganic carbon

Carbonates  311ff

carbonate fluorapatite (francolite)  255, 398
clathrites  503f  (→  gas hydrates)
precipitations through microbial activity  504ff

Carbonic acid 311, 318
Catabolic metabolism  187
Catagenesis 489

→  hydrocarbons, gas hydrates

Chalcopyrite (CuFeS2) 392, 457, 463ff
→  black smokers

Chimneys 462ff
Chloride

anomalies of pore water concentrations  495ff
(→  gas hydrates)

chloride-metal complexes  461, 466
determination by ion-chromatography  104
pore water profiles  88, 495ff
solid phase profile  118

Chlorite 5ff, 376
global distribution  22
influence of hydrothermal fluids  460

Circumpolar Deep Water (CDW)  343, 347, 408
Clarion and Clipperton Fracture Zone 381,

383f, 387f
Clatrathes  (→  gas hydrates)

air clathrates  484
Clay minerals 5ff

adsorption capacity  5, 132
authigenic formation  10, 256f
cation release  7
crystal structure  5ff
global distribution  19ff
sinking velocity  130f

Coastal upwelling 128, 130, 221, 298
Cobalt

Co-rich Mn crusts  390ff
concentration in pelagic clay  376

... average shale  376

... seawater  374, 392
deep-sea residence time  375
deposition rates in dust  377

... organic aggregates  377

... red clay  377
Cold seeps      →  fluid venting

Colloid coagulation
influence of ionic strength  241f

Computer models
CoTAM/CoTReM  77f,  213, 524, 538ff
EQ 3/6  517
PHREEQE/PHREEQC  318ff, 515ff, 537ff
SOLMINEQ  318, 322f, 517
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STEADYSED1  524, 540ff
Copper

concentration in pelagic clay  376
... average shale  376
... seawater  339, 375

deep-sea residence time  375
deposition rates in dust  377

... organic aggregates  377

... red clay  377
EH-pH diagram for the deep sea  392
geochemical behavior in red clays  376
predominance field diagram  391f

Cutin 139f
→  OM - chemical composition

Cyanobacteria 140, 185f

D

δδδδδ13C in inorganic carbon (IC)
interannual variation  153
→  organic geochemical analysis

δδδδδ13C in marine carbonates 351ff
effects of carbonate dissolution and precipitation

352f
Mackensen effect  351
metabolic and kinetic effects on fractionation  351f
→  calcium carbonate, organic geochemical analysis

δδδδδ13C in marine organic matter 151ff, 347ff
control parameters  152ff, 348ff
effects of diagenesis  350f
→  organic geochemical analysis

δδδδδ13C of methane 488f
δδδδδ13CΣΣΣΣΣCO2 of Seawater  346f

historical variability  347
influence of air-sea gas exchange  346f
influence of OM degradation  346
influence of photosynthesis  346f
→  organic geochemical analysis

δδδδδ15N in marine ecosystems 353f
kinetic fractionation effects  353f
→  organic geochemical analysis

δδδδδ15N in marine organic matter 355f
effects of diagenesis  356
principles of fractionation  355f
→  organic geochemical analysis

δδδδδ18O in marine carbonates (δδδδδ18Oc) 155, 343ff
δ18Ow correction  343
effects of diagenesis  345f
influence of carbonate-ion concentration  343ff
temperature dependency  343
vital effect  345
→  organic geochemical analysis

δδδδδ18O of authigenic minerals 257

δδδδδ18O of seawater (δδδδδ18Ow) 341ff
historical variability  342f
salinity effect  341f
→  organic geochemical analysis

δδδδδ34S in marine sediments  359f
evaporites  359
pyrite (FeS2) (→)   359f
→  iron sulfides, sulfur, org.geochem.analysis

δδδδδ34S of seawater and pore waters 356ff
historical variability  171, 358f
→  dissimilatory sulfate red., org. geochem. analysis

δδδδδD of pore waters 489, 502f
→  gas hydrates, methane

Darcy equation 114
Deep-sea sediments 13–16

biogenic ooze  14
classification  14
hemipelagic sediments  14
red clay  13f

Degradation Index (DI) 218
Denitrification 210ff, 226ff, 229f, 254, 353f

15N-methods  197f
denitrifying bacteria (→  prokaryotic organisms)  188,

226
fractionation effect on δ15N  353
inhibitor (C2H2) method  199f
methods of measuring  226ff
modeling  521ff, 525ff, 541, 544
prerequisites for   212
quantification of rates  226ff
→  nitrate, nitrification

Deuterium (D) 502f
Diffusive boundary layer (DBL)  108, 175f, 253, 431
Diffusive fluxes  77ff

→  Ficks´s laws of diffusion, molecular diffusion

Dissimilatory sulfate reduction 149f, 272ff
determination by 35SO4

2- techniques  198, 298ff
determination of net rates  299f
effect on barite stability  288f
effect on isotopic fractionation  356ff
effect on magnetite stability  285, 288f
effects on solid phase profiles  285ff
inhibitor (MoO4

2-) method  198f
sulfate reduction index (SRI)  150
sulfate reduction rates (SRR)  196ff, 274f, 275ff, 298ff
temperature dependence of SRR  179f
→  sulfate, sulfide

Dissolution rate constant (kd) 329
Dissolved inorganic carbon (DIC)

pore water profile  195



563

Index

→  alkalinity

Dissolved organic matter (DOM) 190
Dust 4, 133

atmospheric input  4
eolian transport  4

E

EH-value →  redox potential

Electrical resistivity of sediments (R) 35ff,  67f,  79ff
galvanic method  35ff
inductive method  39ff
temperature dependency  68

Energy metabolism
definitions  184f
types with representative organisms  185

Eolian dust transport 4f, 14, 19, 241, 371f, 374f, 377,
430

Equatorial Atlantic   23, 170, 231, 243, 329, 379, 445
Equatorial Pacific 23, 93, 153, 198, 224f, 244f, 251,

257, 345, 352, 356, 361f, 378f, 390, 410, 446
Equilibrium constant (K) 317, 318ff, 320ff, 542

pressure dependency  318
temperature dependency  318

Ethane 483f
→  gas hydrates

Export production →  production

Extraction procedures 93ff, 117ff, 160, 221, 225f, 253f,
262ff

F

Fecal pellets  131, 435
content  131
degradation  131
mineralization  131
sinking velocity  130f

Fermentation 181, 187f
→  aerobic respiration, OM degradation, methane

Ferrihydrite (5 Fe2O3· 9 H2O)
specific surface area  248, 250, 251f, 255
→  iron oxides

Ferromanganese concretions  380ff
→  manganese nodules

diagenetic formed  380
elemental composition  384, 390, 393
hydrogenous formed  380
hydrothermal formed  380
mineralogical composition  398ff

Ferrous iron oxidation 461

abiotic oxidation  246, 254f
by MnO2  253ff, 294ff
by nitrate  169f, 253ff
by oxygen  181f, 253ff
microbial anaerobic oxidation  254
→  iron

Fick's laws of diffusion  79ff, 87f
analytical solution  87f
analytical solutions  523f
error function (erfc(a))  87f
combined with advection and reactions  524
numerical solutions  529f
→   molecular diffusion

First order reaction kinetics 524
Fluffy layer 434
Fluid venting

cold seeps  457f
flow rates 472
transport mechanisms  490ff
→  gas hydrates

Fluorescent in-situ hybridization (FISH) 173
Fluoride

determination by ion-selective electrodes  104
pore water profile  74

Fluvial / riverine input 4, 26, 19f, 207, 241ff, 245, 271,
315, 357, 407, 430

Focusing  22, 439, 446
Formation factor (F) 36ff, 40, 68, 79, 82, 540
Free energy (G) 181ff

endergonic processes  182, 189
exergonic processes  182f, 189

Froelich-model 89
→  OM degradation - sequence of oxidation / oxidants

G

Gamma ray attenuation 31ff
Gas ebullition 490f

→  gas hydrates

Gas hydrates 179f, 280f, 284f, 289, 473,  481ff
chloride anomalies  495ff
clathrates  482f
climate change  500f
crystal structures  482f
bottom-simulating reflector (BSR)  487ff
density  485
formation and dissociation  490ff
gas hydrate carbonates (clathrites)  503f
gas hydrate stability zone (GHSZ) 485f
gas hydrate occuring zone (GHOZ) 486f
occurence  485ff
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stability and phase boundaries  473,  484f
→  chloride, hydrocarbons, methane
water isotope anomalies  502f

General diagenetic equation 524
Geochemical models 513ff

charge balance  522
diffusion-diagenesis models  195
importance of activity coeff. and complexes  514
numerical solutions for diagenetic models  524ff
‘press-F9-method’ (spreadsheet models)  525ff
two-step method (operator splitting)  530, 533f,

537, 538
two-step models  538ff
WATEQ-family  513f, 517
zero-dimensional geochemical models  513f
→  computer models

Geographical Information Systems (GIS) 430, 443ff
Geothermal Gradient (oceanic) 489
Glycolysis 188

→  OM degradation, fermentation

Goethite (ααααα-FeOOH)
Al(III) substitution  248f
dissimilatory reduction  250
specific surface area  248, 250
→   iron oxides

Grain density (ρρρρρg) 31, 34f, 37ff
Grain size distribution 42, 51
Greigite (Fe3S4) 286, 287, 291, 293

diagenetic enrichment  287, 290, 292
→   iron sulfides

H
Halocline  127
Helium

3He enrichments in vent fluids  468f
hydrothermal He plums  396

Helium gas pycnometer 30
Hematite (ααααα-Fe2O3)

Al(III) substitution  248f
specific surface area  250
→   iron  oxides

Hydrocarbons 482ff
catagenesis  489
→   gas hydrates, methane

Hydrogen
3H  196f
H/C ratios  145f
hydrogen index (HI)  151, 159
isotope signature  151ff, 489
transformation  181ff
→   gas hydrates, methane

Hydrogenous sediments 10
Hydrothermal convection systems 459ff

effect on authigenic mineral composition
10, 257, 460

evolution  462
global distribution 458
hydrothermal plume  463f
hyperthermophilic bacteria  180
influence on the sedimentary elemental

composition  377
megaplumes  462
residence time of seawater  460
subcritical boiling  466
thermophilic bacteria  180

Hydrothermal mounds  463
Hydrothermal vent fluids

chemical composition  459ff, 467ff
concentration of rare earth elements  470
concentrations of trace elements  467, 468ff
total discharge  457
leaching processes  461, 463
P-T diagram  466
phase separation  466, 469
physical and chemical conversion of seawater  459

Hydroxylation of mineral surfaces 248f
pH dependence  249

I

Illite  6–7
global distribution  20ff
conversion from smectite  498f
→   clay minerals

In-situ measurements  105ff
benthic lander systems 105ff, 171, 223f
incubation experiments  105, 110f, 171, 193, 196, 257
microelectrodes  106, 107ff, 111, 114, 223
optodes  109f, 223, 231
peepers, dialysis, and thin film techniques

111f
planar optode  110, 171, 223, 231

Inner Tropical Convergence Zone (ITCZ)  243
Inhibitors for reactions 198ff, 227f
Inorganic carbon

benthic release  327ff
→  carbon, carbon dioxid

Ion activity product (IAP)  514
Iron

55Fe  196f
benthic cycle  543
benthic fluxes by model calculations  543
colorimetrical analysis of ferrous iron 262, 264
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Index

concentration in pelagic clay  376
... average shale  376
... seawater  374

concentration in the Vostok ice core  245
deep-sea residence time  375
deposition rates in dust  377

... organic aggregates  377

... red clay  377
dissolved Fe in the water column  374
dissimilatory iron reduction  247f, 254ff
distribution in the water column  244, 374
EH-pH diagram for Fe in deep water  375
eolian input  242ff, 374
Fe/Al ratio  290ff
ferrous iron oxidation  253ff
formation of Fe-bearing aluminosilicates 256f
fluvial input  241f
importance to primary productivity  244ff
in-situ measurements  253ff
in deep-sea sediments  375ff
iron-bound phosphorus  255
→  phosphorus
iron hypothesis  244f
iron mineral reactivity towards sulfide  193, 251ff
iron oxides (→)  248ff
iron reducing bacteria  246ff, 251, 255
iron reduction by HS-  251ff
iron reduction rates  194f
iron-organic complexes  246
leaching through water/rock interactions  461, 463
magnetite (→)
modeled pore water profiles  540ff
Mössbauer-spectroscopy  248, 251, 264
oxidation with nitrate  170f, 183
particulate Fe in the water column  374
photochemical reduction  243
phototrophic oxidation with CO2  185
pore water profiles  74, 111, 170, 244, 254, 296, 540f
precipitation from hydrothermal vent fluids  466
predominance field diagram  375
quantification of iron fractions  262ff
radioisotopes (55Fe, 59Fe)  196f
redox cycle  257ff, 543
sheet silicates  246, 248, 251, 253
siderite formation 251, 255f
solid phase profiles  118, 120, 296
solubility in ocean surface water  243
solubility of iron-bearing minerals  263
voltammetric microelectrode technique  225

Iron oxides 246ff
adsorption capacity  248ff
Al(III) substitution  248f
bioavailability  248ff
ferrihydrite (5Fe2O3·9H2O) (→)  248, 250
formation  254
goethite (α-FeOOH) (→)  248ff
hematite (α-Fe2O3) (→)  248ff

hydroxylation (→) 249
influence on the phosphate cycle  255
lepidocrocite (γ-FeOOH)  248, 250
maghemite (γ-Fe2O3)  248
magnetite (Fe2+Fe3+

2O4)  (→)  248f
modeled oxyhydroxide profiles  541f
oxyhydroxide  219ff, 241, 246, 248ff, 371ff
recycling  190ff
reduction by H2S  285ff
reductive dissolution  251ff
reduction rates  194
sequence of biological availability  249
specific surface area  250f

Iron sulfides
authigenic iron sulfides  287
diagenetic enrichment  287, 290ff
formation  285ff
isotopic composition (δ34S)  356ff, 359f
pyrite (FeS2)  (→)   285ff, 359f
reoxidation  293ff
→  dissimilatory sulfate reduction, sulfide

Isotopic fractionation (principles) 339f
ε-value  340
fractination factor (α)  340

K

Kaolinite  2, 5ff, 19f, 38
global distribution  20
→  clay minerals

Kerogen 139, 142, 144ff, 160
Kriging 442f, 445ff

clustering  445
variogram analysis  442f

L

Lead
210Pb  116, 136, 195, 258f, 403
isotope ratios  407

Lignin  139
→  OM - chemical  composition

Lithogenous sediments  2ff
dust (→)   4
fluvial input  2
glacio-marine sedimentation  4, 16f, 19
ice rafted detritus (IRD)  4
mineral composition  2, 5ff
suspension load  2f
volcaniclastic material  5, 7, 14

Lysocline  326ff
effect on δ13C in marine carbonates  352
effect on δ18O in marine carbonates  345
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M

Maceral composition 151
Mackinawite (FeS) 119, 286f, 375

→   iron  sulfides

Magnesium
pore water profile  74
solid phase profile  118

Magnesium(Mg)-calcite  503
Magnetic susceptibility (κκκκκ or χχχχχ)  27, 29, 41, 287, 290f
Magnetite (Fe3O4) 6,  248f,  253,  263f,  285,  288f,  291,

375, 464f,  518
→   iron oxides
titano-magnetite  249

Manganese
54Mn  197
benthic (redox) cycle  257ff, 295ff, 541ff
benthic fluxes by model calculations  543
concentration in pelagic clay  376

... average shale  376

... seawater  371ff, 377f
deep-sea residence time  375
deposition rates in dust  377

... organic aggregates  377

... red clay  377
dissolved Mn in seawater  372
dissimilatory reduction  254
EH-pH diagram for Mn in deep water  373
enrichments in vent fluids  372f, 467ff
eolian input  371
interpretation of pore water profiles  86f
in deep-sea sediments  375ff
hydrothermal flux to the ocean 372
leaching through water/rock interactions  461
Mn(II)-carbonate  76, 87, 379, 542
modeled pore water profiles  539ff
nodules and crusts  (→ manganese crusts)
oxidation  253f, 373f
oxidation rate  371
particulate Mn in the water column  372
pore water profiles 74, 86, 111, 170, 195, 254, 274,

296, 540f
predominance field diagram  373
redox cycle 543
reduction  181ff, 262, 272f
reduction rates  193f
reoxidation  262
scavenging  372
SI (saturation index) profiles of manganese

minerals  520f
solid phase profiles  118, 296
riverine input  373
total hydrothermal flux  373
voltammetric microelectrode technique  225

Manganese crusts 371ff
Co-rich crusts  390ff
diagenetic formed  381
economic prospects  411ff
elemental composition  390
evolution  391
groth rates  400, 404
hydrogenous formed  380, 396
hydrothermal formed  380, 395f
importance in paleoceanography  403ff
mineralogical composition  397ff
shallow-marine ferromanganese concretions  393ff

Manganese nodules 10, 371ff
- as paleoceanographic indicators 403ff
dating  400ff
descriptive classification  382
diagenetic formed  381, 386ff
distribution  380ff
economic prospects  411ff
element associations  387, 397
elemental composition  384, 390, 393
groth rates  400, 404
hydrogenous formed  381, 386f
hydrothermal formed  381, 395f
influence of sedimentation regime  381
influence of surface water productivity  386
influence of the CCD  388

→  calcium carbonate
micronodules  397f
mineralogical composition  398ff
REE as redox indicators  388ff

→  Rare Earth Elements (REE)

Manganese oxide (MnO2)
ammonia and nitrogen oxidation by -  229
(oxides) precipitation from hydrothermal fluids

372f, 461
ferrous iron oxidation by -  253ff
influence on nitrate profiles   229
modeled solid phase profiles  542
recycling  192ff
reduction by ferrous iron  296ff
reduction by H2S  298
reduction rates  194

Manganite  396
Marine snow 434
Markasite (FeS2) 287

→  iron  sulfides

Methane
anaerobic oxidation (AOM)  170f, 279ff, 504ff
anaerobic methane oxidizers (ANME)  189
analysis of -  94f, 102
biogenic / thermogenic  488f
catagenesis  489
determination by gas-chromatography  104f
enrichments in vent fluids  468ff
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Index

gas ebullition and fluid venting  490f
gas hydrates  284,  482ff

→  gas hydrates
inhibitor (BES) method  199f
isotopic composition (δ13C, δD)  281, 351,  489
methane plumes in cold seep areas  473
methanogenesis  137
pore water profiles  95, 274ff, 534
product of magmatic degassing  469f
quantitative role of AOM  283ff
solubility  486
sulfate-methane reaction  179, 194f, 278f
sulfate-methane reaction (modeling)  528f
sulfate-methane transition zone (SMT)  279f
→  fermentation, gas hydrates

Methanogens  137, 187, 189, 199,  488, 504f
Microniches / -environments 210, 256, 332, 435
Microstructures

description of -  44ff
Mixed layer

in the water column  155, 209, 374
in surface sediments  258, 441

→  bioturbation

Mn oxyhyroxides (βββββ-manganite)  373, 391
Molecular diffusion  89, 115ff, 173ff, 195, 198, 356f,

433
- coefficient (D)  79ff, 174f
diffusion velocity  175
Fick's first law of -  179f
Fick's second law of -  87f, 523f
influence of porosity  79ff
influence of temperature  80f
→  Fick’s laws, benthic transport mechanisms

Monomeric lipids  140ff
→  OM - chemical composition

Mud volcanos  491
→  fluid venting, gas hydrates, gas ebullition

Muscovite  6f
→  clay minerals

N
Natural vulcanisation  143
Neodymium

Nd isotopes of ferromanganese crusts  404f, 410f
Nepheloid boundary layer  128, 438f
Neutral charge rule  319
New production  128
Nickel

as catalyst for reductive processes  253
concentration in pelagic clay  376

... average shale  376

... seawater  374f
deposition rates in dust  377

... organic aggregates  377

... red clay  377
in manganese nodules and crusts  371ff
solid phase profile  118

Nitrapyrin  199f
Nitrate

- reducing bacteria  169f, 187, 254
artefacts by determination  226
denitrification (→) 210ff, 226ff, 229f, 254, 353f
in-situ measurements  225f
influence of MnO2  229
interpretaion of pore water profiles  84f
modeled pore water profiles  526f, 538ff, 544
nitrification  (→) 210ff, 353
pore water profiles  74, 84, 170, 213, 227, 244, 254,

274, 296, 540f
photometrical determination  102f
reduction by ferrous iron  169f, 253ff
reduction by Mn2+  226
reduction by OM respiration  212
release rates  228
respiration  215ff
total flux rates  110, 224, 233
water column profiles  208

Nitrification  210ff, 353
15N-methods  197
fractionation effect on δ15N  354
inhibitor (nitrapyrin) method  199f
modeling  525ff, 538ff
nitrifying bacteria  185f, 212
Nitrobacteraceae (→) 212

Nitrite
- reduction (ammonification)  212
bacterial oxidation  212
Nitrobacteraceae (→) 212
photometrical determination  102f

Nitrobacteraceae  212
Nitrobacter  186, 212
Nitrococcus  212
→  prokaryotic organisms

Nitrogen
15N-methods  197, 226f
C:N / C:N:P ratio → carbon
δ15N in marine ecosystems  218f, 353f
δ15N in marine OM (→)  218f, 355f
deamination  353
fixation  200, 218, 353
via denitrification  212
via oxidation fo ON and NH3 with MnO2  229

Nitrous oxide
reduction of -  212

Non-steady state conditions  77ff, 87f, 112f, 115, 289ff,
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324,  528, 531ff
→  steady state conditions

North Atlantic Deep Water (NADW)  210, 342f, 347,
372, 374, 389, 410

North Pacific Deep Water (NPDW)  372, 374
Nucleic acids  138f

depolymerization 190
→  OM - chemical composition

O

Oil formation 145
Optode technique 109f
Organic carbon

atmospheric input  132f
benthic DOC flux  135f, 349f
benthic TOC content  131ff, 150f, 232, 436ff, 445,

448f, 490
biological cycle  125
burial efficiency  441
burial rate  128ff, 216, 232, 429, 437f, 441, 448
C/N ratio  85, 138, 151, 213, 226, 527
C/N/P ratio  89, 103, 138, 210ff, 322, 328, 445, 522,

541
calculation of the benthic POC input  134ff
cycle  125f, 134ff, 429
fluvial input  133
geological cycle  125
input rates  216
isotopic composition (δ13Corg)  347ff
marine vers. terrigenous OM  150f
particle (POC) flux  126ff, 209f, 233, 438ff
rain rate  126ff, 435f
TOC-pyrite relationship (S:C ratio)  149f
total annual PP  128f
→  carbon

Organic geochemical analysis 158ff
bitumen analysis  160f
isotope analysis  159
organic petrography  159f
pyrolysis gas chromatography  159
Rock-Eval pyrolysis  159
sample requirements  158f

Organic matter (OM)
accumulation  126ff
allochthonous OM in marine sediments  132ff
Average Chaine Length (ACL) Index  156f
burial of OM  131f, 129
C/N and C/N/P ratios → organic carbon
chemical composition (compound classes)  138ff
δ13C in marine organic matter (→) 151ff,  347ff
δ15N in marine OM (→)  355f
degradation (→)   88ff, 151, 178, 184f, 188,

210ff, 247ff, 272ff, 327ff, 353f,   357

formation of fossil OM  144ff
hydrogen index (HI)  151, 159
identification of terrigenous OM  150ff
inertinite  133, 160
mineralization rate  83ff, 216
organic matter flux  128ff, 209
organosulfur compounds  143
preservation  127f, 133ff, 219, 438ff
selective preservation  142ff
sinking velocity of -  130f
terrigenous OM (allochthonous)  131ff, 150f, 350
TEX86 index  156
total organic carbon  159f
U 37

K'  index  154f
→  organic carbon

Organic matter degradation
depolymerization of macromolecules  190
importance of Fe/Mn reactivity  260ff
influence of anoxic conditions  126f
multi-G model  299f
pathways of degradation  189ff
PHREEQC simulation  521ff
preservation potentials of organic compounds

142ff
quantification  134ff
remineralization rates  136
sequence of oxidation / oxidants  89, 137, 181,

192ff, 210, 247, 272ff, 379f
→  aerobic respiration, fermentation, organic matter

Oxidation fronts  379
Oxygen

- consump. related to OM degradation (modeled)
525ff, 529ff

- consumption related to OM degradation  82f
aerobic respiration versus reoxidation processes

213f, 272ff
anoxic conditions  126f, 132, 137f, 143, 150, 221,

254ff, 523
δ18O in marine carbonates (→) 343ff
δ18O of seawater (→) 341ff
diagentic effects on pore water δ18O  345f
diffusion times  175
diffusive uptake rates  230ff
diffusive vers. total flux rates  432f
distribution in the water column  208ff
evolution  171
global benthic consumption  446ff
in-situ measurements  105ff, 223ff
influence of bottom water concentration  230, 448f
modeled pore water profiles  213, 296, 504f
oxygen index  151
oxygen minimum zone  130, 133ff, 244, 372
pore water profiles  83, 91, 108, 112, 115, 176, 213,

231, 244, 296, 540f
penetration depth  91, 94, 109, 194, 207, 212f, 225f,

230f, 532
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Index

terminology for regimes  127
total flux measurements  105ff, 110, 224

P

Palagonitization 10
Paleo-sea surface temperature 154
Paleoproductivity (PaP)  128ff

iron hypothesis  245f
relation to the organic carbon content  149ff

Particle mixing 116
→  bioturbation

Pentane 483f
→  gas hydrates

Permeability (k)  28f, 42ff, 54, 61, 114
membrane -  348f
- barrier  506

pH-value
conversion in hydrothermal fluids  460
in-situ measurements  109, 329
influence of decompression  96
influence on ferrous iron oxidation  253
measurement by electrodes  96
pore water profile  74

Phosphate
adsorption on iron oxides  248f, 255
photometrical determination  102f
pore water profiles  74, 220, 537
release by bacterial activity  221f
sedimentary phosphate cycle  219ff
total flux rates  110, 224
water column profile  208

Phosphorus
32P  196
authigenic -  255
organic - (→)  255
radioisotopes (32P, 33P)  212f
solid phase profiles  118, 220, 537
species and forms of bonding  219ff

Phosphorite  390, 392
authigenic formation of -  221ff, 536ff
authigenic carbonate fluorapatite (CFA)  220f

Pore water analysis 93ff
dissolved gases  94ff
ex-situ methods  93ff, 225f
flow injection analysis  103f
gas-chromatography  104f
ICP-AES, AAS, ICP-MS  104
in-situ methods  105ff, 223ff
ion-chromatography (HPLC)  104
ion-selective electrodes  104
photometrical determinations  102f
pore water preservation  101f

redox potential and pH-value (→)  96f
voltammetric microelectrode technique  225

Pore water density 30
Pore water extraction

- by centrifugation  99, 226, 434
- by rhizons  99f
- by sediment squeezing  97ff, 434
- under inert gas conditions in a glove box  96
whole core squeezing method  99, 434

Pore water profiles
calculation of fluxes  82ff, 431f
effects of decompression  94
effects of transient heating  225f
general interpretation  87f
quantitative evaluation  82ff
seasonal changes  77f
→  steady state / non-steady state conditions

Pore water sampling  93ff
Porosity (φφφφφ)  28ff, 36ff, 113f

by electrical resistivity (galvanic method)  35ff
by electrical resistivity (inductive method)  39ff
by gamma ray attenuation  31ff
in-situ versus ex-situ measurements  68
increased porosity due to gas hydrate formation

499
influence on flux calculations  79ff
interporosity  30
intraporosity  30
relation to tortuosity (→)  82
represented by chloride concentration  118f

Posidonia shales  127, 150
Potassium

solid phase profile  118
Predominance field diagrams  373ff, 519ff
Production

export production  128, 450f
iron as limiting nutrient  243ff, 374
new production  128
paleoproductivity  128ff
primary production  127ff, 429f, 435f
secondary production  429

Prokaryotic organisms
chemolithotrophes  185ff
hyperthermophilic bacteria  179
influence of pressure  179f
in the deep sub-surface 178f
inter-species hydrogen transfer  182, 282
proton motive force  181, 188
psychrophilic bacteria  180
relations to oxygen  184
specific metabolic rate  177f
substrate uptake  177f
thermophilic bacteria  180
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Propane  483f,  489
→  gas hydrates

Proteins  138f
depolymerization 190
→  OM - chemical composition

Pyrite (FeS2)  119, 149f, 193, 195, 203, 263, 271ff
authigenic formation  149f, 255f, 285ff, 292ff, 356ff
degree of pyritisation (DOP)  252f
in EH-pH diagram 375
in vent systems  457ff
isotopic composition (δ34S)  359f
limitation of formation  253
pyrite-pyrrhotite redox buffer  465
relation to TOC content (S:C ratio)  149f
→  black smokers, iron sulfides

Pyrolysis gas chromatography 159
Pyrrhotite (Fe1-xS) 286f

precipitation  463ff
pyrite-pyrrhotite redox buffer  465
→  black smokers, iron sulfides, marcasite, pyrite

R

Radioacive tracers 196ff
Radium

226Ra  116, 258f, 289, 403
Rare Earth Elements (REE) as redox indicators

388ff
concentrations in hydrothermal fluids  470

Reaction fronts 287ff
Reaction rates

calculations based on molecular diffusion  77ff
problems on calculation  195
via incubation experiments  196
via radioactive tracers  196ff
via specific inhibitors  198ff

Reactive layer  75f, 259f
Red clay 13f, 375f

elemental composition  376
global distribution  18, 376
sedimentation rates  22f, 377

Redeposition of sediments  27, 132f, 154, 233f
Redfield-ratio  85, 89, 103, 138, 184, 210, 328, 322, 328,

332, 346f, 522
→  OM - C:N:P ratio

Redox balance 192f
Redox cascade 193
Redox cycles 181f, 257ff, 543
Redox potential (E) 182f

EH measurement with electrodes  96f
pore water profiles  74, 96

Redox processes (principles) 182f
Remote sensing data 435f
Resuspension 132f, 233f, 438f
Reynolds numbers (Re) 174
Rhizon pore water sampling 99f
Rock-Eval Pyrolysis 130, 151, 159
Rubidium

solid phase profile  118

S
Saccharides 139

→  OM - chemical composition

Sapropels 126f, 135, 151, 292
Saturation index (SI) 318f, 323

calculation  514ff
SI of mineral and gaseous phases in seawater  518

Sea-level change 16, 343, 501
effect on the chloride concentration  88
effect on the δ18O of seawater  342f

Sea-surface temperature reconstruction  154ff, 349f
Seawater

aquatic species composition (calculated)  514ff
chemical composition of vent fluids  467ff, 514
critical point for -  466
physical properties  64ff

Secondary ion mass spectrometry (SIMS)  281
Sediment accumulation  132, 448ff
Sediment echosounding  57ff
Sediment elasticity 28

properties of clayey sediments  44
properties of sandy sediments  44

Sediment sampling devices 90ff
box corer  90f
ex-situ methods  90ff
gravity corer  92f
harpoon sampler  93
in-situ methods  105ff
box-shaped gravity corer (Kastenlot)  93
light-weight, high-momentum gravity corer  91f
multicorer  91
piston corer  92f

Sediment trap experiments 136, 218f, 315, 325, 438f,
448

Sedimentation
sedimentation rate  22ff, 131f

determination by radioactive isotopes  258f
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vertical vers. lateral  438ff
Seismic wave propagation  44ff
Siderite (FeCO3)

formation  251, 255ff
Siderophores  246
Silica

determination  102
amorphous silica  257, 463
pore water profile  74
silica gel  160
total flux measurements  224
total flux rates  110, 224
silica undersaturation  225
solid phase profile  118
→  biogenic silicate

Silcates
authigenic formation of aluminosilicates  256f
concentration  10
redox reactivity  250f

Siliceous biogenic ooze  10, 14
pelagic distribution  19
→  biogenic silicate

Silicon
silicon cycle  440f, 445ff
→  biogenic silicate, silica

Sinking velocity of particles  131
Slumps 133, 506
Smectites 6f

authigenic formation (nontronite)  10, 256f, 263,
386, 399, 403

conversion to illite  498
global distribution  20f
influence of hydrothermal fluids  460
palagonitization  10
particle diameter 2
redox reactivity  251
reduction / reoxidation  251, 378
→  clay minerals

Solubility constant (k) 328
Solubility product (Ksp) 514ff
Sphalerite (ZnS) 457, 463ff

→  black smokers

Stable isotope measurement  340–341
δ-value  340
mass spectrometry  340

Stagnant oceanic bottom water  126–127
→  Black Sea

Steady state conditions  76ff, 198, 220, 259, 299, 330f,
528, 531ff

→  non-steady state conditions

Stockwork complexes  457, 460f, 463, 472, 476
Strontium

pore water profile  74
solid phase profile  118
Sr isotope stratigraphy  402

Suberin 139f
→  OM - chemical composition

Sulfate
- depletion related to OM degradation  83f
35S-labeled sulfate  196ff, 296, 299
anaerobic methane oxidation (AOM)

170f, 279ff, 504ff
assimilatory sulfate reduction  274f
δ34S in marine sediments (→) 359f
δ34S of seawater and pore waters (→) 356ff
determination by ion-chromatography  104
dissimilatory sulfate reduction (→) 256,  274ff,

292f
oxidation of S0 to sulfate  171
oxidation of S2O3

2- to sulfate  171
pore water profiles  74, 83, 95, 195, 274, 278ff, 296,

532, 534f, 540
Rayleigh fractionation  358
reduction zone  273
reduction rates (SRR) 179ff, 193f, 198, 276ff, 296,

299
SRR vers. oxygen uptake rates  276ff
sulfate reducing bacteria  138, 149f, 169f, 173, 182,

184, 186ff, 192, 198ff, 214, 256, 271, 274, 278ff, 286,
295, 356ff, 504f

sulfate-methane reaction (modeling)  528, 532ff
sulfate-methane transition (SMT)  119, 271, 279ff,

288ff, 293, 300,504f
(→ methane)

Sulfide
acid volatile sulfide (AVS)  292
bisulfide complexes  461
by reduction of S0 or S2O3

2-  171
δ34S in marine sediments (→) 359f
determination by ion-selective electrodes  104
formation of iron sulfides (→ pyrite)
hydrogen sulfide (H2S)  74, 127, 145, 150, 171, 214,

272, 284ff, 290, 300, 357f, 468, 484, 505f, 543
in gas hydrates  482ff
in-situ measurements  109
iron mineral reactivity towards sulfide  251ff
isotopic composition (δ34S)  357f
oxidation  186, 193, 195, 214f, 271, 278, 293ff, 298,

301, 358f, 532
photometrical determination  102f
pore water profiles  74, 95, 280, 532
product of AOM  505 (→  methane)
Rayleigh fractionation  358
voltammetric microelectrode technique  225
→  iron sulfides
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Sulfur
35S  196f
burial in marine sediments  294
chromium reducable sulfur (CRS)  293
δ34S of marine sediments  359f
δ34S of sea and pore waters  356ff
disproportionation of inorganic sulfur species

171, 188f, 297f, 300, 358
elemental sulfur (S0)  171, 189, 197, 275, 286f, 295,

297f, 300, 358
input components  271
isotopic composition (δ34S)  356ff
isotopic fractionation  171, 356ff
organosulfur  143
polythionates  296, 300
principles of fractionation  356ff
solid phase profiles  118, 290ff
sulfite (SO3

2-)  300
sulfur bacteria (→  prokaryotic organisms) 185ff, 193,

214f, 221f, 294, 298, 536, 538
sulfur cycle  171, 189, 197, 271, 294ff, 300f, 356ff
thiosulfate (S2O3

2-)  171, 275, 296f, 300, 358
→  iron sulfides, sulfate, sulfide

Suspension load of rivers 2–3
accumulation at the ocean floor  2
discharge  3
grain-size distribution  2
quantifcation  2, 4

T

Tephra layers  5
Terrestrial biomarkers  150ff

average chain length (ACL) index  156f
Terrigenous sediments

classification  12f, 54ff
distribution on continental shelves  16f
P-wave velocity and attenuation  54
pelagic distribution  19
physical properties  67

Thermocline  255, 209, 485
Thiobacillus ferroxidans  187
Thiomargarita  178, 214, 222, 298, 536f
Thioploca  187, 214f, 298
Thorium

230Th  258, 401f, 404, 409
234Th  116, 258

Titanium
solid phase profile  118

Toba Ash layer  61, 64
Todorokite  398
Tortuosity (θθθθθ) 35, 42, 44, 79, 82

Tricarboxylic acid (TCA) cycle 188
→  OM degradation, fermentation

Turbidites
permeability of -  52
turbidity currents  12, 133, 534

U

Udden-Wentworth scale  12f
U 37

K' index  154f
Ultrasonic transmission measurements 42, 47

attenuation analysis  49ff
P-wave velocity and attenuation  47ff

V

Variogram analysis  442f
Vernadite  396

W

Water
isotopic composition  502f

Water column stratification  126ff
Weathering  2ff, 241f, 248ff, 251, 357f, 403, 450
Weddell Sea Bottom Water  347
Wet bulk density (ρρρρρ) 28ff

by electrical resistivity (galvanic method)  35ff
by electrical resistivity (inductive method)  39ff
by gamma ray attenuation  31ff
in-situ versus ex-situ measurements  68

White smokers 463
Winnowing  27, 439, 446

Z

Zinc
concentration in seawater  375
solid phase profile  118

Locations

Aarhus Bay (→  Baltic Sea)  136f,  192,  283, 296f
Alaskan margin  472
Amazon 252, 272, 274–275

- Deep-Sea Fan  83, 290
- Delta  257
- River  2
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Angola Basin 389,  445f,  489
Angola Slope 288
Antarctic Ocean  23, 32f, 36, 42f, 54, 64, 244
Antarctic Continental Margin  23
Antarctic Polar Frontal Zone  38
Arabian Sea  20, 128, 218
Argentine Basin  227, 233, 291, 389,  445f
Argentine continental slope  291
Atlantic Ocean  211

equatorial  23, 48ff, 170, 231, 327
north  20, 23, 211, 327
south  20, 74f, 211, 223f, 228f, 275, 303f

Atlantic Fracture Zone  400
Axial Rift Zone  457,  462
Axial Seamount  467ff
Bahamas  8
Baltic Sea  136, 176, 217, 275, 279, 283, 292, 297, 357f,

371, 378, 388, 393ff, 399, 403, 417
Bay of Bengal  20
Bengal Fan  52ff, 66

channel levee systems  57ff
Benguela upwelling area 84, 91ff, 154, 213f, 218,

230f, 276, 280,  283f,  529
Black Sea 126ff, 130, 132, 150, 218, 275, 283, 287,

292ff, 299f, 358f, 393, 485f, 491
Blake Ridge 284, 289, 481, 483, 487ff, 502
Brasilian Continental Margin 37ff
Californian continental margin  23, 155, 217, 381,

439
Campbell Nodules Field  402
Cape Basin 37f, 118, 120, 227
Cape Lookout Bight 283
Cariaco Trench  126, 283, 359
Caribbian Sea  20, 23, 243
Carolina Rise 284
Cascadian margin 486, 497f

→  Hydrate Ridge

Cascadian subduction zone  493
→  Hydrate Ridge

Caspian Sea  481, 489
Ceará Rise 37ff
Ceará Abyssal Plain  23

Chilean shelf  275
Clarion and Clipperton Fracture Zones (C-C F.Z.)

381, 383ff
Congo (Zaire) Fan 37ff, 74, 86, 112, 152, 241f, 520
Congo (Zaire) River 86, 112, 152,  242
Congo-Angola Basin  489
Conrad Rise 64f
East Pacific Rise  23, 377, 381, 396, 403, 410, 457ff,

462, 467ff
Eastern Mediterranean Sea  5, 127, 292, 491, 502
Eel River Basin  155
Enareta Seamount  395
Endeavour Ridge 466f, 470
Escanaba Trough  467
Galapagos Rift  470
Goban Spur 219
Gotland Deep (→ Baltic Sea) 371, 378
Guaymas Basin 179f, 465, 467, 472
Guinea Basin 445
Gulf of Alaska  244
Gulf of Bothnia (→  Baltic Sea)  393f
Gulf of California 179f
Gulf of Finland (→  Baltic Sea)  393f
Gulf of Mexico  20, 483, 489, 491, 502ff
Gulf of Riga (→  Baltic Sea)  393f
Gulfo Dulce 218
Håkon Mosby mud volcano  491
Hawaiian Ridge  400
Hunter Gap 37f
Hydrate Ridge  281, 486, 488ff, 500ff
Indian Ocean  4, 19f, 64, 208f, 210, 246, 333, 388, 410,

412f, 459
Inter Tropical Convergence Zone (ITCZ)  243
Izu-Bonin arc  395, 471
Izu-Bonin-Mariana Arc  395
Japan margin  501
Juan de Fuca Ridge 462
Kara Sea  393
Kattegat  278f, 283
Kau Bay 287
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Kiel Bay (→  Baltic Sea)  393, 395
Krylow Seamount  400
Kurchatov Fracture Zone  400
Kyushu-Palau Ridge  396
Lake Tanganyika  127
Lau Basin 467, 470f
Lau back-arc  459
Loihi Seamount  400
Long Island Sound estuary  260
Lord Howe Rise 410f
Magellan Seamount  406
Manihiki Plateau  393
Manus Basin  459, 470
Mariana Trough  470
Marianas back-arc  459, 471
Maud Rise 40
Mecklenburg Bay (→  Baltic Sea)  403
Meteor Rise  52ff, 56
Mid-Atlantic Ridge 74, 457, 468, 407
Middle American Trench  481, 483, 497
Musicians Seamounts  381, 405
Nankai Trench / Trough  472, 489
Niger Mouth  37ff
Niger River  389
North Fiji Basin  470
Northwest Pacific island arc  359
Norwegian-Greenland Sea  491
Norwegian margin  501
Ogasawara Plateau  396
Ogasawara Trench  396
Okinawa Trough  459
Oman Margin 150
Ontong Java Plateau 80, 302
Oregon margin  472
Pacific Ocean

abyssal  233
equatorial  23, 224, 244, 257, 274f, 345
north  20, 211, 232f, 246, 336, 347
south  20, 211
tropical  195

Pakistan continental margin 156

Palinuro seamount  395
Panama Basin 253, 261
Persian Gulf  8
Peru Basin 251, 381, 384ff, 397f, 402, 410
Peru shelf 221, 245
Peru upwelling system 150
Pitcairn hotspot  395
Polar Front  19, 23
Pygmy Basin 158
Red Sea 252, 256
Rio Grande Rise 52ff, 56, 66
Saanich Inlet 283
Santa Barbara Basin 74, 154f, 157
Santa Monica Basin 110
Schumann Seamount  392, 401, 405
Sea of Okhotsk  489
Shichito-Iwojima Ridge  395
Shikoko Basin  396
Skagerrak  181, 194, 197, 218, 246, 253, 260ff, 265, 283
Skan Bay (Alaska)  283
Slope off Chile  246, 253, 260ff, 283
South African Continental Margin  32
Southern Ocean (Atlantic sector) 391–392
Southwest Pacific Basin  381ff
St. Lawrence estuary  245f, 260, 275
Subduction zones 458
Subtropical Front 23
Sumisu Rift  396
Svalbard 179, 265
Tonga-Kermadec arc  471
Tyrrhenian Sea  395
Valu Fa Ridge  471
Upwelling area off NW-Africa  133
Uruguay continental margin  254, 291
Washington shelf  258f, 265
Weddell Sea  44, 64ff, 343, 392
Zaire (Congo) River 389
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