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Preface to the Second Edition

The 14 or so years that have elapsed since the writing of Applied Geophysics
have seen many changes as results of better instrumentation, the extensive applica-
tion of computer techniques, and more complete understanding of the factors that
influence mineral accumulations. Changes have not been uniform within the various
areas of applied geophysics, however. In gravity field work there have been few
changes except for the use of helicopters and inertial navigation, but the ability to
calculate the gravity field of a complicated model, use the differences from the
measured field to modify the model, and iterate the calculations has significantly
changed gravity interpretation. The greatly improved sensitivities of proton-preces-
sion and optically pumped magnetometers and the use of gradiometers have
considerably increased the number of meaningful magnetic anomalies extractable
from magnetic data: iterative interpretation has also had a significant impact, as in
gravity interpretation. No major individual innovations have affected seismic explo-
ration but a combination of minor improvements has produced probably the
greatest improvement in seismic data quality in any comparable period of time. The
improved data quality has resulted in new types of interpretation, such as seismic
stratigraphy; now, interactive capabilities promise major interpretational advances.
Whereas there has been little change in self-potential methods. magnetotellurics has
blossomed from a research tool to a practical exploration method. Resistivity
methods have changed only a little, but perhaps the greatest changes in any area
result from the development of a number of new electromagnetic exploration
methods. Induced polarization has benefited from greatly improved instrumental
capabilities and interpretation concepts. The application of airborne radiometrics
has broadened and now includes shallow mapping and mineral surveys. The biggest
changes in well logging have resulted from combining measurements from several
types of logs to extract new types of information.

We have tried to deal with these changes. Of course much of the basic theory
remains, but we have tried to make it clearer. Some topics whose relevance to
exploration today has diminished have been considerably shortened or deleted and
others have been expanded or introduced to cover recent developments or changes.

The senior author (WMT) again has taken primary responsibility for Chap-
ters 5 to 10, and 12, LPG and RES for Chapter 4, and RES for Chapter 11, whereas
all contributed considerably to Chapters 2 and 3. The responsibility for the overall
editing again fell to LPG.

I
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PUSTRR. T

Excerpts from

Preface to the First Edition

This book began as a revision of the classic text, Eve and Keys — Applied
Geophysics in the Search for Minerals. However, it soon became obvious that the
great advances in exploration geophysics during the last two decades have so altered
not only the field equipment and practise but also the interpretation techniques that
revision was impractical and that a completely new textbook was required.

Readers of textbooks in applied geophysics will often have a background
which is strong either in physics or geology but not in both. This book has been
written with this in mind so that the physicist may find to his annoyance a detailed
explanation of simple physical concepts (for example, energy density) and step-by-
step mathematical derivations; on the other hand the geologist may be amused by
the over-simplified geological examples and the detailed descriptions of elementary
concepts.

The textbook by Eve and Keys was unique in that it furnished a selection of

problems for use in the classroom. This feature has been retained in the present
book.

December 1974 W. M. Telford R. E. Sheriff
L. P. Geldart D. A. Keys

xvii



Mathematical Conventions

A. General functions

f(x, y.2)
/.

f(0)* g(1)
G(v), G(w)
¢fg(7)
J(x)

I.(x)

K, (x)

function of continuous variables (x, y, z)

function of the discrete variable 1 = nA, n integral
convolution of f(r) with g(r)

Fourier transform of g(¢)

correlation of f(1) with g(r) for a displacement 7
Bessel function of the first kind of order n
Modified Bessel function of the first kind

. Modified Bessel function of the second kind

B. Special functions

u(t)
8(1). 8,

boxcar (¢)
comb (¢)
sinc (r)

unit step function; u(¢) =0, 1 < 0; u(t)= +1,t>0
unit impulse (Dirac delta), §(r) =8,= +1, t=0; =0

fort+0
boxcar(t) = +1, —wy < w < +w, = 0 outside this range

infinite series of equally spaced unit impulses

(sint)/t

C. Mathematical conventions

>, <
s 2
<« >
>
A
A'B
AXB
v
vz
V¢
vV A
v XA
K4
J/T
M—l
x|

det(a,;)

greater than, less than

greater than or equal to, less than or equal to

much greater than, much smaller than

of the order of

approximately equal to

correspondence between a function and its transform
vector of magnitude A

scalar (dot) and vector (cross) products of vectors A and B

del, the vector operator i d/dx + jd/dy + k 3/d:
Laplacian 3%/3x* + 8%/3y? + 32/3z*

gradient of ¢(x, y. z) = grad ¢ (see Eq. (A.17))
divergence of A(x, y, z) = divA (see Eq. (A.19))
curl of A(x. y, z) = curl A (see Eq. (A.20))

matrix with elements a,;

transpose of &/ with elements a

inverse of &/

absolute value of x

determinan: with elements a,,
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Geophysics, as its name indicates, has to do with the
physics of the earth and its surrounding atmosphere.
Gilbert's discovery that the earth behaves as a great
and rather irregular magnet and Newton’s theory of
gravitation may be said to constitute the beginning
of geophysics. Mining and the search for metals date
from the earliest times, but the scientific record
began with the publication in 1556 of the famous
treatise De re metallica by Georgius Agricola, which
for many years was the authoritative work on min-
ing. The initial step in applying geophysics to the
search for minerals probably was taken in 1843,
when Von Wrede pointed out that the magnetic
theodolite, used by Lamont to measure variations in
the earth’s magnetic field, might also be employed to
discover bodies of magnetic ore. However, this idea
was not acted on until the publication in 1879 of
Professor Robert Thalén’s book On the Examination
of Iron Ore Deposits by Magnetic Methods. The
Thalén-Tiberg magnetometer manufacture in Swe-
den, and later the Thomson—Thalén instrument, fur-
nished the means of locating the strike, dip, and
depth below surface of magnetic dikes.

The continued expansion in the demand for met-
als of all kinds and the enormous increase in the use
of petroleum products since the turn of the century
have led to the development of many geophysical
techniques of ever-increasing sensitivity for the de-
tection and mapping of unseen deposits and struc-
tures. Advances have been especially rapid since
World War II because of major improvements in
instrumentation and the widespread application of
the digital computer in the processing and interpre-
tation of geophysical data.

Because the great majority of mineral deposits are
beneath the surface, their detection depends on those
characteristics that differentiate them from the sur-
rounding media. Methods based on variations in the
elastic properties of rocks have been developed for
determining structures associated with oil and gas,
such as faults, anticlines, and synclines several kilo-
meters below the surface. The variation in electrical
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conductivity and natural currents in the earth, rates
of decay of artificial potential differences introduced
into the ground, local changes in gravity, magnetism,
and radioactivity - all these provide information
about the nature of the structures below the surface,
thus permitting geophysicists to determine the most
favorable places to search for the mineral deposits
they seek.

Several of the devices used by geophysicists were
derived from methods used for locating gun em-
placements, submarines, and aircraft during the two
world wars. Attempts were made to locate artillery
batteries during World War I by measuring the
arrival times of the elastic waves generated in the
carth by their recoil; this led directly to the refrac-
tion method of seismic prospecting. Submarines were
located by transmitting sonar pulses underwater and
measuring the interval between the emission and the
return of reflected pulses: knowing the velocity of
sound in seawater, one can calculate the distance to
the reflecting object. Sonar is now used widely for
navigation in marine geophysical surveys. Radar,
developed during World War I1, utilized radio pulses
in a similar manner to track aircraft and ships.
Ships, submarines, and mines were also detected in
both wars by their magnetic properties.

It should be pointed out that geophysics tech-
niques can detect only a discontinuity, that is, where
one region differs sufliciently from another in some
property. This, however, is a universal limitation, for
we cannot perceive that which is homogeneous in
nature: we can discern only that which has some
variation in time and/or space.

Geophysics deals with all aspects of the physics
of the earth. its atmosphere, and space. Geophysical
measurements were made by the men who landed on
the moon, and the atmospheres, magnetic fields, and
other properties of planets are studied using geo-
physical data obtained by unmanned spacecraft.

The principal subdivisions of geophysics are as
follows; some of these have been investigated for
many years simply because of their scientific
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Table 1.1. Total 1987 worldwide expenditures by survey type and objective (in thousands of U.S. dollars).

Transition Drill
Type Land zone Marine Airborne hole Total
Petroleum
Exploration 809,394 10,091 541,053 13,405 1,504 1,375,447
Development 20,161 25 9,657 32 294 30,169
Minerals 13,076 62 13,705 58 26,901
Environmental 443 92 9 626
Engineering 2,100 8,580 235 10914
Geothermal 1,09 30 1.125
Groundwater 1,505 283 1,788
Oceanography 1,458 300 1,758
Research 3217 6,190 802 184 10.393
Total 850,990 10,116 556,999 28,336 2,679 1,459,120
interest: Radioactivity
Well logging
Seismology Miscellaneous chemical, thermal, and other

Thermal properties of the earth

Terrestrial magnetism

Telluric currents

Geodesy and gravitation

Radioactivity of the earth, sea, and atmosphere;
cosmic rays

‘Atmospheric electricity

Meteorology

Our knowledge of the Earth has been developed
by combining information from all these ficlds. This
holds also for investigations in applied geophysics as
well; combining several different approaches may
help us to determine more accurately the location of
a structure or deposit. Purely scientific investigation
of such subjects as the rate of evaporation of water
from lakes, the chemical compositions of different
rocks and waters from streams and ponds, the mea-
surement of natural earth currents, potential varia-
tions, and impurities in the atmosphere - all these
influence methods of locating deposits that the ap-
plicd geophysicist seeks. For example, the concentra-
tions of radon in the air or streams may give indica-
tions of deposits of uranium. Electromagnetic waves
caused by distant thunderstorms are used to locate
conducting ores at great depths below the surface.

Applied geophysics in the search for minerals, oil.
and gas may be divided into the following methods
of exploration:

Gravitational
Magnetic
Seismic
Electrical
Electromagnetic

methods

Certain geological conditions gencrally are associ-
ated with metallic ores, others with gas and oil. Ore
deposits usually are found in areas where extensive
igneous activity occurred, after which the rocks may
or may not have been metamorphosed. Ultimately
the area was eroded sufficiently to bring the deposits
close enough to the surface to be discovered and
exploited. Coal is the result of the rapid burial of
vegetation that existed near a sea or large lake, and
gas and oil usually are due to the deposition and
subsequent burial of marine organisms. The search
for metallic ores generally is concentrated in arcas of
known igneous and metamorphic rocks, such as the
Rocky Mountains, the Andes, the Alps, and the
Urals. However, important exceptions occur because
(1) minerals can be transported away from the place
of original formation, perhaps by mechanical trans-
port, as in the case of alluvial gold, perhaps in
solution, and (2) some minerals such as salt and
gypsum are deposited originally from aqueous solu-
tion and hence occur in sedimentary areas. The
search for coal, oil, and gas is confined to sedimen-
tary basins, except for rare instances in which oil or
gas has migrated into fractured igneous or mctamor-
phic rocks.

The choice of techniques to locate a certain min-
eral depends on the nature of the mineral and of the
surrounding rocks. Sometimes a method may give a
direct indication of the presence of the mineral being
sought, for example, the magnetic method when used
to find magnetic ores of iron or nickel; at other times
the method may indicate only whether or not condi-
tions are favorable to the occurrence of the mineral
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(From Senti, 1988.)

sought. For example, the magnetic method is used in
petroleum exploration as a reconnaissance tool to
determine the depth to the basement rocks and thus
determine where the sediments are thick enough to
warrant exploration.

Surveys using aircraft carrying magnetic, electro-
magnetic. and other devices are the most rapid meth-
ods of finding geophysical anomalies. Such areal
surveys are also the most inexpensive for covering
large arcas and hence are frequently used for recon-
naissance: anomalies of interest are later investigated
using more dctailed ground techniques. Scismic ex-
ploration is another method that has been used to
explore large areas. both on land and oftshore. though
at considerably greater cost. in both time and money.

Table 1.1 shows world expenditures for acquisi-
tion of geophysical data during the year 1987. The
total expenditure of about $1.5 billion (U.S.)! does
not include work in the Soviet Union, Eastern Eu-
rope. or China. This figure is only 30% of the 1982
figure and is below those of all the years since 1977
(Fig. 1.1), reflecting the low prices for petroleum and
minerals. There seems to be a rather widespread

feeling that the sharp declinc seen in Figure 1.1 has
leveled out, although statistical data are not yet
available to support this. Many (including the
authors) expect a gradual increase in activity over
the next several years.

Figure 1.1 also shows major shifts in the locales
of geophysical work. The proportions of the different
geophysical methods and unit costs are shown in
Table 1.2. Cost figures are sensitive to many factors
such as the supply and demand of particular com-
modities, economic conditions, governmental regula-
tions, technological advances, and exploration phi-
losophy, as well as operational environment. length
and nature of surveys, and other factors.

Tables 1.1 and 1.2 are based on the latest annual
survey carried out by the Society of Exploration
Geophysicists (Senti, 1988); this survey depends on
voluntary reporting by a multitude of organizations.
who do not necessarily report on the same bases nor
in the same units. Neverthcless, the perturbations

1 All figures in this book are U.S. dollars.




Table 1.2. Geophysical expenditures and unit costs, 1987.

Cost basis Unit costs g
Petroleum exploration %
Land seismic (2-D. P wave)  721% $207 X 10°/mo  $2,206 /knt ,1
Transition zone seismic 04 198 1930” s
Marine seismic 205 479 28%° R
Seismic processing 280 £
Seismic refraction 06 91 51 ;
Land S wave 03 170
Land 3-D 28 $7,589/km?
Marine 3-D 23 380
VSP 0.2
Land gravity 0.2 12 61/stn
Marine gravity <01 20 46/km
Magnetotellurics <0.1 30 1.548/s1n
Airborne magnetics 1.0 11,/km "
Other airborne 0.1 &
Other 0.1 .
Seismic sources i
Land Dynamite 41.6% (line-kilometers)
Air gun 1.4 :
Weight drop 1.5
Vibroseis 50.4
§ wave 03
Marine Air gun 96.9%
Sparker 01
Expenditures Unit costs
Airborne work
Gravity $283 x 10° $48,/km
Magnetics 16,575 9
Mag. + Time-domain EM 1,660 24
Frequency-domain EM 5.759 45
VLF EM 1,608 20
Radiometric MM 19
Land mining
Seismic reflection $3,875 $1.606/km
Seismic refraction 77 2,810
Gravity 1,298 $24/stn
Magnetics 1,070 1 149
Resistivity 267 10 132
SP 401 310
Time-domain EM 4917 1,169
Frequency-domain EM 250 136
VLF EM 71 165
Mag. + time-domain EM 133 362
Mag. + frequency-domain EM 801 197
Mag. + VLF EM 224 351
Time-domain IP 1,645 564
Frequency-domain IP 197 862
Complex resistivity IP 25
Magnetotelluric
natural field 7 51
Magnetotellurics
controlled source 353 120
Gamma ray 6 30
Drill hole 58
Gravity-magnetic
surveys by objective
Petroleum 61.9%
Mineral exploration 24.6
Environmental 04
Engineering 09
Geothermal 04
Groundwater 06
Oceanographic 11
Research 99

“gxcluding processing.



Reference

because the data arc not homogeneous are probably
small.

Comparing 1987 data with that for previous years
shows an important change in seismic petroleum
work: a shift from exploration, the finding of hydro-
carbons, to reservoir studies, detailing oil/gas finds
with the objectives of exploiting the finds more eco-
nomically and increasing the oil/gas recoverable
from the finds.

Applied geophysics is a relatively new science and
the design of instruments, field techniques, and inter-
pretation of the data are undergoing rapid develop-

5

ment. The following chapters will provide the reader
with a survey of the different methods currently
employed to acquire and interpret geophysical data
as an aid in the exploration for minerals and
petroleum and in the planning of large construction
projects.
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Gravity Methods

2.1. INTRODUCTION

2.1.1. General

Gravity prospecting involves measurements of varia-
tions in the gravitational field of the earth. One
hopes to locate local masses of greater or lesser
density than the surrounding formations and learn
something about them from the irregularities in the
earth’s ficld. It is not possible, however, to determine
a unique source for an observed anomaly. Observa-
tions normally are made at the earth’s surface, but
underground surveys also are carried out occasion-
ally.

Gravity prospecting is used as a reconnaissance
tool in oil exploration; although expensive, it is still
considerably cheaper than seismic prospecting.
Gravity data are also used to provide constraints in
seismic interpretation. In mineral exploration, grav-
ity prospecting usually has been employed as a sec-
ondary method, although it is used for detailed fol-
low-up of magnetic and electromagnetic anomalics
during integrated base-metal surveys. Gravity sur-
veys are sometimes used in engineering (Arzi, 1975)
and archaeological studies.

Like magnetics, radioactivity, and some electrical
techniques, gravity is a natural-source method. Local
variations in the densities of rocks ncar the surface
cause minute changes in the gravity field. Gravity
and magnetics techniques often are grouped together
as the potential methods, but there are basic differ-
ences between them. Gravity is an inherent property
of mass, whereas thc magnetic statc of matter de-
pends on other factors, such as the inducing fields
and/or the orientations of magnetic domains. Den-
sity variations are rclatively small, and the gravity
effects of local masses are very small compared with
the effect of the background field of the Earth as a
whole (often of the order of 1 part in 10 to 107),
whereas magnetic anomalies often are large relative
to the main field. The time variation of the magnetic
field is complex, whereas the gravity field is constant
(ignoring “earth tides”). Corrections to gravity read-

A BTN

ings are more complicated and more important than
in magnetic or other geophysical methods. Gravity
field operations are more expensive than magnetic
operations, and field work is slower ‘and requires
more highly skilled personnel.

"
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2.1.2. History of Gravity Exploration

Galileo Galilei, in about 1589, so legend tells us,
dropped light and heavy weights from the Leaning
Tower of Pisa in an attempt to determine how weight
affects the speed at which a given object falls. Jo-
hann Kepler worked out the laws of planctary mo-
tion, and this enabled Sir Isaac Newton to discover
the universal law of gravitation (Mathematical Prin-
ciples of Natural Philosophy. 1685-87).

The expeditions of the French Academy of Sci-
ences to Lapland and Peru (Ecuador) in 1735-45
gave Picrre Bouguer the opportunity to establish
many of the basic gravitational relationships, includ-
ing variations of gravity with elevation and latitude,
the horizontal attraction due to mountains, and the
density of the Earth.

Captain Henry Kater, in 1817, introduced the &
compound pendulum, with interchangeable centers
of oscillation and suspension, which became the
major tool for gravity investigation for over a cen-
tury. Because the variations in gravitational attrac-
tion are so small, Baron Roland von Ebtvos set out
to measure derivatives rather than total magnitudes.
He completed his first torsion balance (a modifica-
tion of the Coulomb balance) in 1890 and made the
first gravity survey on the ice of Lake Balaton in
1901. F. A. Vening Meinesz, in 1923, measured grav- #
ity with pendulums on board a Dutch submarine
and demonstrated gravity variations over various
arcas of the oceans, especially the large gravity cf-
fects near the Indonesian trench.

In December 1922, a torsion-balance survey of
the Spindletop oil ficld initiated geophysical explo-
ration for oil. In late 1924, a test well on the Nash
salt dome in Brazoria County, Texas, verificd the
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Principles of gravity

gravity interpretation, becoming the first geophysical
hydrocarbon discovery, although the first producing
oil well did not come in until January 1926.

The last half of the 1920s saw extensive gravity
surveys with the torsion balance. In 1929 the portable
pendulum began to be used, followed in 1932 by the
stable gravimeter (and the unstable gravimeter, which
was not publicly described until 1937). By 1940,
gravimeters had become so stable and convenient
that torsion balances and portable pendulums disap-
peared from use. LaCoste (1934) described the zero-
length spring, but the first workable LaCoste
gravimeter did not appear until 1939. In subsequent
years, gravimeters have been adapted (LaFehr, 1980)
to measurements under water, on moving ships and
aircraft, and in boreholes.

The major addition to our knowledge of gravity
in recent years has come from observations of satel-
lite paths (Kahn, 1983). These have considerably
increased our knowledge of the detailed shape of the
Earth, but this has not changed gravity exploration
significantly.

In the 1940s, graphic and grid methods of isolat-
ing anomalies were developed, and the anomalies
that result from simple shapes were calculated. The
computing power made available by digital comput-
ers since the 1960s has considerably increased our
interpretation capabilities, the ultimate goal being
solution of the inverse problem (§2.7.9).

2.2. PRINCIPLES OF GRAVITY

2.2.1. Newton'’s Law of Gravitation

The force of gravitation is expressed by Newton's
law: The force between two particles of masses my
and m, is directly proportional to the product of the
masses and inversely proportional to the square of
the distance between the centers of mass:

F = y( mym,/r? )y, (2.1)
where F is the force on m,, 1 1S a unit vector
directed from m, toward my, r is the distance
between m, and m,, and v is the universal gravita-
tional constant. Note that the force F is always
attractive. In SI units the value of y is 6.672 x 10~ !!
N 07 /kg? or in cgs units 6.672 x 10~8 dyne co? /g2,

2.2.2. Acceleration of Gravity

The acceleration of my due to the presence of m,
can be found by dividing F by m, in Equation (2.1),
that is,

g= ('yml/rz)r1 (2.2a)

7

The acceleration g is equal to the gravitational force
per unit mass due to my. If m, is the mass of the
Earth, M, g becornes the acceleration of gravity and
is given by

g = (YM/R2)x, (2.2b)

R, being the radius of the Earth and r, extending
downward toward the center of the Earth. (It is
customary to use the same symbol g whether it is due
to the Earth or a mass m.) The acceleration of
gravity was first measured by Galileo in his famous
experiment at Pisa. The numerical value of g at the
Earth’s surface is about 980 cm/s?. In honor of
Galileo, the unit of acceleration of gravity, 1 cm/s2,
is called the galileo or Gal.

Gravimeters used in ficld measurements have a
sensitivity of about 107% Gal or 0.01 mGal, although
the reading accuracy is generally only 0.03 to 0.06
mGal. As a result, they arc capable of distinguishing
changes in the value of g with a precision of one
part in 10%. Microgravimeters are available with
measuring accuracy of about 5 pGal.

2.2.3. Gravitational Potential

(a) Newtonian or three-dimensional potential.
Gravitational fields are conservative; that is, the
work done in moving a mass in a gravitational field
is independent of the path traversed and depends
only on the end points (§A.3.4). If the mass is
cventually returned to its original position, the net
energy cxpenditure is zero, regardless of the path
followed. Another way of expressing this is to say
that the sum of kinetic (motion) energy and potential
(position) energy is constant within a closed system.

The gravitational force is a vector whose direction
is along the line joining the centers of the two
masses. The force giving rise to a conservative field
may be derived from a scalar potential function
U(x,y, z), called the Newtonian or three-dimensional
potential, by finding the gradient [Egs. (A.17). (A.30),
and (A31)]:

~F(x.,y. z)/my

—g(x, ). 2)

vU(x, y,z2)

(2.3a)
In spherical coordinates (Fig. A.4b) this becomes

vU(r,0,¢)

It

—F(r.0,¢)/m,

—g(r.0.9) (2.3b)

Alternatively, we can solve this equation for the




P(0,0.0)

Figure 2.1. Potential of three-dimensional mass.

gravitational potential in the form [Eq. (A.16)]
U(r.0.4) = ['(vu) - dr
[=]
- ——‘frg-dr (2.4)

which is a statement of the work done in moving a
unit mass from infinity (that is, a very distant point),
by any path, to a point distant r from the point mass
producing the gravitational field. Using Equation
(2.2a) in scalar form, we get

u(ry = —yf;m(l/rz) dr = ym/r (2.5)

It is often simpler to solve gravity problems by
calculating the scalar potential U rather than the
vector g and then to obtain g from Equation (2.3). -
Considering a three-dimensional mass of arbi-
trary shape as in Figure 2.1, the potential and accel-
eration of gravity at a point outside the mass can be
found by dividing the mass into small elements and
integrating to get the total effect. From Equation
(2.5), the potential due to an element of mass dm at
the point (x, y, z) a distance r from P(0,0,0) is

dU = ydm/r = ypdxdydz/r

where p(x, y. z) is the density, and r? = x? + y* +
2. Then the potential of the total mass n1 is

U= y};j;j;(p/r) dx dy dz (2.62)

Becausc g is the acceleration of gravity in the z
direction (positive vertically downward), and assum-
ing p constant,

g = —(3U/dz)

=vpfxfyfz( /) dedydz  (2.7a)

Gravity methods

Sometimes it is more convenient to use cylindrical
coordinates (Figure Ada). Because dxdy dz =
1o dry 40 dz and r? = 1} + 2, 1 = x* + y?, the po-
tential becomes

U= r) dr, df dz 2.6b

wf [ (o/r) dn (2.60)
and the acceleration in the z direction is

= rz/r) dry d dz 2.7b

g=1p f, ) j; fz (ro2/r*) dry (2.7v)

In spherical coordinates,
dxdydz = r* sin8 drdf d¢

hence,
U= ypffofr sinfdrddde  (2.60)
r’6v¢

Taking the z axis along the polar axis,

I

—9U/9z
—ypj;j;j;'(z/r)sianrdodcp

g

I

_Ypfj;j;sin()cosﬂdrdﬁ d¢ (2.7¢)

because z/r = cos 8. (The minus sign indicates that
g is directed toward the mass dm at the center of the
sphere.)

(b) Logarithmic or two-dimensional potential. 1f
the mass is very long in the y direction and has a

* uniform cross section of arbitrary shape in the xz

plane, the gravity attraction derives from a logarith-
mic (rather than Newtonian) potential. Then Equa-
tion (2.6a) becomes

U= prj;dxdzfjow(l/r) dy

With some manipulation (sec problem 1), the Ioga-
rithmic potential becomes

U= 2'ypj;j;1n(1/r') dx dz (2.8)

where 2 = x2 + z2. The gravity effect for the two-

dimensional body is

g=-0U/dz =2yffp(z/r’2) dxdz (2.9)
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2.2.4. Potential-Field Equations

The divergence theorem [Gauss’s theorem; Eq.
(A.27)] states that the integral of the divergence of a
vector field g over a region of space V is equivalent
to the integral of the outward normal component of
the ficld g over the surface enclosing the region. We
have

/VV rgdv = /sg,, ds (2.10)

If there is no attracting matter within the volume,
the integrals are zero and v * g = 0. But from Equa-
tion (2.3a) the gravitational force is the gradient of
the scalar potential U, so that

“Vg=v-vU=vWU=0 (211a)

that is, the potential in free space satisfies Laplace’s
equation. In cartesian coordinates, Laplace’s equa-
tion is

U U W

VNU=—F5+—-—+— =0 (211
dx? ay? az2 (2.116)

[sec Eq. (A.37) for Laplace’s equation in spherical
coordinates]. Also, because g = — dU/dz, and any
derivative of a solution of a differential cquation is
also a solution, we have
vi=0 (2.11¢)
If, on the other hand. there is a particle of mass
at the center of a sphere of radius r, then

fsg"ds = —(ym/r?)(4nr?)

= —4aym (2.12a)
the minus mecaning that g, is opposite to n, the
outward-drawn normal. It can be shown (see prob-
lem 2) that this result holds regardless of the shape
of the surface and the position and size of the mass
within the surface. If the surface encloses several
masses of total mass M. we can write

V-gdo= [g ds= - 1
fy g dv Lg,, s dmyM (2.12b)

If the volume V is very small, enclosing only a point,
we can remove the integral sign to give
v -g=—dny (2.13a)

where p is the density at the point. Then, from

Equation (2.3a),

VU =47y (2.13b)
which is Poisson’s equation.

Equations (2.11a) and (2.13b) state that the grav-
ity potential satisfies Laplace’s equation in free space
and Poisson’s equation in a region containing mass.

These equations imply that various distributions
of mass can produce the same potential field over a
surface (Skeels, 1947); this is sometimes called the
“inhercnt ambiguity” of gravity interpretation.
Sometimes it is convenient to substitute for masses
distributed throughout a volume V a fictitious sur-
face density of mass over a surface S enclosing V
such that the effect outside S is the same. From
Equations (2.12b) and (2.13a) we have ‘

f(—4vrw) dv = fg,. ds (214)
14 s

that is, the component of gravity perpendicular to
the surface gives the equivalent surface density. For
an equipotential surface, this is merely the total
gravitational field.

2.2.5. Derivatives of the Potential

Quantitites useful in gravity analysis may be ob-
tained by differentiating the potential in various
ways. We have already noted in Equation (2.7a) that
vertical gravity g = ~3U/dz. This is the quantity
measured by gravimeters.

The first vertical derivative of g [from Eq. (2.7a)]
is

3g/9z = —32U/9z7*
=-U,

wf [ [(1/r =322/r%) axdyar (2.15)
xyYz

where subscripts indicate derivatives of U. Measure-
ments occasionally are made of the vertical gradient
(Falkiewicz, 1976; Jordan, 1978: Ager and Lilard,
1982; Butler, 1984).

The second vertical derivative is

3%g/92* = - 3%U /823
= _Uz:z
=3 523/r7 — 32/r%) dxdydz
w fx fy fz (52°/ /r%) dxd
(2.16)
This derivative frequently is employed in gravity

interpretation for isolating anomalies (§2.6.5) and
for upward and downward continuation (§2.6.7).
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Derivatives tend to magnify near-surface features by
increasing the power of the linear dimension in the
denominator. That is, because the gravity effect varies
inversely as the distance squared, the first and sec-
ond derivatives vary as the inverse of the third and
fourth powers, respectively (for three-dimensional
bodies).

By taking the derivatives of g in Equation (2.7a)
along the x and y axes, we obtain the components
of the horizontal gradient of gravity:

~dg/dx
3'ypfff(xz/r5) dxdydz (2.17)
x'y’z

U. =

and similarly for the y component U,,. The horizon-
tal gradient can be determined from gravity profiles
or map contours as the slope or rate of change of g
with horizontal displacement. The horizontal gradi-
ent is useful in defining the edges and depths of
bodies (Stanley, 1977).

The differential curvature (or horizontal directive
tendency, HDT) is a measure of the warped or
curved shape of the potential surface. From Equa-
tion (2.6a),

U, = ypfff(3x2/r5 —1/r) dxdydz (2.18)
x’y’z

Other components are U,, and U,,. The differential
curvature (HDT) is given by

172
HDT = {(U,, - U)" + (24,)’}

= 3yp£j;£[(x2 +y?)/r*) dxdydz (2.19)

It is not possible to measure U,, U,,. U,,, or HDT
directly. Differential curvature can be obtained from

torsion-balance measurements.

2.3. GRAVITY OF THE EARTH

2.3.1. Figure of the Earth

(a) General. Gravity prospecting evolved from the
study of the Earth’s gravitational ficld, a subject of
interest to geodesists for determining the shape of
the Earth. Because the Earth is not a perfect homo-
geneous sphere, gravitational acceleration is not con-
stant over the Earth’s surface.

The magnitude of gravity depends on five factors:
latitude, elevation, topography of the surrounding
terrain, earth tides, and density variations in the
subsurface. Gravity exploration is concerned with

Gravity methods

anomalies due to the last factor, and these anomalies
generally are much smaller than the changes due to
lattitude and elevation, although larger than the
anomalies due to tidal and (usually) topographic
effects. The change in gravity from equatorial to
polar regions amounts to about 5 Gal, or 0.5% of the
average value of g (980 Gal), and the effect of
elevation can be as large as 0.1 Gal, or 0.01% of g. A
gravity anomaly considered large in oil exploration,
on the other hand, would be 10 mGal, or 0.001% of
8. whereas in mineral exploration a large anomaly
would be 1 mGal. Thus, variations in g that are
significant in prospecting are small in comparison
with the magnitude of g and also in comparison with
latitude and elevation effects. Fortunately, we can,
with good accuracy, remove most of the effects of
factors that are not of interest in prospecting.

(b) The reference spheroid. The shape of the
Earth, determined by geodetic measurements and
satellite tracking, is nearly spheroidal, bulging at the
equator and flattened at the poles. The polar flatten-
ing is (Req — R,)/R.q = 1/298.25, where R,y and
R, are the Earth’s equatorial and polar radii, respec-
tively.

The reference spheroid is an oblate ellipsoid that
approximatcs the mean sea-level surface (geoid),
with the land above it removed. In 1930 the Interna-
tional Union of Geodesy and Geophysics adopted a
formula (Nettleton, 1976, p. 17) for the theoretical
value of gravity g,, but this has been superseded
(Woolard, 1979) by the Geodetic Reference System
1967 (GRS67):

g = 978,031.846(1 + 0.005,278.,895 sin® ¢
+0.000,023 462 sin* ¢ ) mGal (2.20)

where ¢ is latitude.

(c) The geoid. Mean continental elevations are
about 500 m, and maximum land elevations and
ocean depressions are of the order of 9.000 m re-
ferred to sea level. Sea level is influenced by these
variations and other lateral density changes. We
define mean sea level (the equipotential for the
Earth’s gravity plus centrifugal effects), called the
geoid, as the average sea level over the oceans and
over the surface of sea water that would lie in canals
if they were cut through the land masses.

The simplified figure of the Earth allows for in-
creasing density with depth, but not for lateral varia-
tions, which are the objects of gravity exploration.
Because of the lateral variations, the geoid and refer-
ence spheroid do not coincide. Local mass anomalies
warp the geoid as in Figure 2.2a. We might expect
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Figure 2.2. Comparison of reference spheroid and geoid. (a) Warping of the geoid by a

local mass. (b) Large-scale warping.

the geoid to be warped upward under the continents
because of attracting material above, and downward
over the ocean basins because of the low density of
water (Figure 2.2b). However, deviations from the
spheroid do not correlate with the continents nor
with the lithospheric plates, suggesting that density
differences exist below the lithosphere. The devia-
tions between the two surfaces (Kahn, 1983) are as
much as 100 m.

23.2. Gravity Reduction

(a) General. Gravity readings are generally influ-
enced by the five factors listed in Section 2.3.1a.
hence we must make corrections to reduce gravity
readings to the values they would have on a datum
equipotential surface such as the geoid (or a surface
everywhere paraliel to it).

{b) Latitude correction. Both the rotation of the
Earth and its equatorial bulge produce an increase of
gravity with latitude. The centrifugal acceleration
due to the rotating Earth is maximum at the equator
and zero at the poles; it opposes the gravitational
acceleration, while the polar flattening increases
gravity at the poles by making the geoid closer to the
Earth’s center of mass. The latter effect is counter-
acted partly by the increased attracting mass at the
equator. A latitude correction. Ag, is obtained by

L

differentiating Equation (2.20):

Ag /As = (1/R,)Ag,/A¢
= 0.811sin2¢ mGal/km (2.21a)

= 1.305sin2¢ mGal/mile (2.21b)

where As = N-S horizontal distance = R_A¢ and
R, is the radius of the Earth (= 6368 km). The
correction is a maximum at latitude 45° where it
amounts to 0.01 mGal/(13 m) and it is zero at the
equator and poles. The correction is added to g as
we move toward the equator.

(c) Free-air correction. Since gravity varies in-
versely with the square of distance, it is necessary to
correct for changes in elevation between stations to
reduce field readings to a datum surface. The Jree air
correction does not take account of the material
between the station and the datum plane. It is ob-
tained by differentiating the scalar equation equiva-
lent to Equation (2.2b); the result is (dropping the
minus sign)

Agpa/AR =2yM,/R3 = 2g/R,
= 03086 mGal/m  (2.22a)

§
|
= 0.09406 mGal/ft  (2.22b) j
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Figure 2.3. Bouguer correction. (a) Station on a broad
plateau. (b) Underground stations.

at 45° latitude. The free-air correction is added to
the field reading when the station is above the datum
plane and subtracted when below it.

To make latitude and free-air corrections, station
position must be known precisely. For an accuracy
of 0.01 mGal, the usual accuracy of the gravimeter,
N-S location (at 45° latitude) must be known to
within 13 m (40 ft) and elevation to 3 ¢cm (1 in.).

(d) Bouguer correction. The Bouguer correction
accounts for the attraction of matcrial between the
station and datum plane that was ignored in the
free-air calculation. If the station were centrally lo-
cated on a plateau of large horizontal extent and
uniform thickness and density (Fig. 2.3a), the gravity
reading would be increased by the attraction of this
slab between the station and the datum. The Bouguer
correction is given by

Agp/AR =2myp

= 0.04192p mGal/m (2.23a)

= 0012780 mGal/ft  (2.23b)

where p is the slab density in grams per cubic
centimeter [see Eq. (2.57)]. If we assume an average
density for crustal rocks of 2.67 g/cm’, the numeri-
cal value is

Ags/AR = 0112 mGal/m  (2.24a)

= 0.0341 mGal/ft  (2.24b)

Gravity methods

The Bouguer correction is applied in the opposite
sense to free air, that is, it is subtracted when the
station is above the datum and 'vice versa.

When gravity measurements are made at under-
ground stations, as in Figure 2.3b, the slab between
stations at depths z; and z, exerts an attraction
downward on station 1 and upward on 2. Thus the
difference in gravity between them is 47yp(z; — 2)
mGal, that is, the Bouguer correction is doubled.

The Bouguer and free-air corrections are often
combined into an elevation correction. From Equa-
tions (2.22) and (2.23) the result is

Agg/AR = Agpa/AR - Bgs/AR
= (0.3086 — 0.04190) mGal/m (2.25a)

= (0.0941 — 0.0128p) mGal/ft (2.25b)

The elevation correction is applied in the same way
as the free-air correction.

Two assumptions were made in deriving the
Bouguer correction: (1) The slab is of uniform den-
sity and (2) it is of infinite horizontal extent; neither
is really valid. To modify the first, one needs consid-
erable knowledge of local rock types and densities.
The second is taken care of in the next reduction.

(e) Terrain correction. The terrain correction al-
lows for surface irregularitics in the vicinity of the
station. Hills above the elevation of the gravity sta-
tion exert an upward pull on the gravimeter, whereas
valleys (lack of material) below it fail to pull down-
ward on it. Thus both types of topographic undula-
tions affect gravity measurements in the same sensc
and the terrain correction is added to the station
reading.

There are several methods for calculating terrain
corrections, all of which require detailed knowledge
of relief near the station and a good topographical
map (contour interval ~ 10 m or 50 ft or smaller)
extending considerably beyond the survey area. The
usual procedure is to divide the area into compart-
ments and compare the clevation within each com-
partment with the station elevation. This can be
done by outlining the compartments on a transpar-
ent sheet overlying a topographic map. The most
common template used concentric circles and radial
lines. making sectors whose areas increased with
distance from the station. The gravity effect of a
single sector was calculated from the following for-
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(b)

Figure 2.4. Use of terrain chart with topographic map. (a) Terrain chart overlying map.

(b) Enlarged view of a single zone.

mula [Eq. (2.58)]:
Sgr(r.0) = ypﬂ{(rn -r)+ (,‘2 + Azz)l/z
-(r2+422)"%} (226)

where 6 is the sector angle (radians), Az = |z, ~ z,|,
z, is the station elevation, z, is the average elevation
in the sector, and s, and r; are the outer and inner
sector radii. The terrain correction Ag, is the sum of
the contributions of all sectors:

Agr = Z;Sgr(r,()) (227)

The use of a terrain chart of this type is illus-
trated in Figure 2.4. The transparent template is
placed over the topographic map with the center of
the circles at the gravity station. The average eleva-
tion within a single compartment is estimated from
the contours within it and subtracted from the known
station elevation. The difference is Az in Equation
(2.26). from which the contribution to A gr is calcu-
lated for the compartment. Tables of terrain correc-
tions such as Table 2.1 facilitated this operation.
[Hammer (1982) gives corrections for subdivisions of
the inner zones required in microgravity surveys for
engineering and archacological surveys.] Note that
there was no provision for relief within 2 m of the
station, that is, it has to be flat for a 2 m distance
from the station. It can be scen from Table 2.1 that
the correction is small if r > 20z, ~ being the aver-
age distance from the compartment to the station.

Other methods for segmenting the topographic
map occasionally were applied: for instance, when
contours were practically linear, there was no advan-
tage in using circular sectors. An alternative scheme

L.

used elementary areas so proportioned that the grav-
ity effect of each was the same regardless of distance.

Terrain corrections for outer zones are often made
on a computer using elevations on a regular grid
(Krohn, 1976). Regardless of the approach, the topo-
graphic reduction is a slow and tedious task. Fur-
thermore, in areas of steep and erratic slopes, it
usually is not very accurate, particularly for relief in
the vicinity of the station itself. At the edge of a
steep cliff or gorge, the terrain correction is almost
inevitably in error. A better solution is to move the
gravity station away from sharp relief features if this
18 possible.

Bouguer anomalies (§2.3.2h) for marine surface
and airborne surveys require a different terrain cor-
rection from that discussed earlier. The Bouguer
correction is calculated (for marine data) as if the
water depth were everywhere constant, and hence it
is discontinuous over abrupt elevation changes. The
terrain correction is made discontinuous to compen-
sate for the Bouguer correction discontinuities. To
the left of a two-dimensional vertical step in the sea
floor (Fig. 2.5), the terrain correction is positive due
to the deeper water on the right (analogous to a
nearby valley in land work), and it is negative to the
right of the step.

(f) Earth-tide correction. Instruments for measur-
ing gravity are sensitive enough to record the changes
in g caused by movement of the Sun and Moon,
changes that depend on latitude and time. Their
range is about 0.3 mGal. Figure 2.6 shows calculated
and measured tidal variations for a stationary
gravimeter,

The correction can be calculated from knowledge
of the locations of the Sun and Moon. However,
because the variation is smooth and relatively slow,
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Figure 2.5. Marine terrain correction for vertical sea-floor
step. p, = 1.03, pock = 2.67, t = meters. (After Nettleton,
1971.)

usually it is included in the instrument drift correc-
tion (§2.5.2).

(g) Isostatic correction. The worldwide average of
Bouguer anomalies on land near sca level is approxi-
mately zero. In regions of large elevation they are
generally negative, while in oceanic regions mainly
positive. These large-scale effects are due to density
variations in the crust, indicating denser material
beneath the ocean and less dense material in regions
of elevated land.

In 1855, two hypotheses were put forward to
account for the density variations. Airy proposed a
crust of uniform density but variable thickness float-
ing on a liquid substratum of higher density, whereas
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Pratt suggested a crust where the density varies with
topography, being lower in mountain regions and
higher beneath the oceans. Both hypotheses appear
to be true to some extent. An isostatic correction
occasionally is necessary in large-scale surveys to
compensate for crustal variations.

(h) Bouguer and free-air anomalies. When all of
the preceding corrections have been applied to the
obscrved gravity reading, we obtain the value of the
Bouguer anomaly gy for the station:

89 = 8obs — & + (Ag, + Agp, — Agy + Agyr)
(2.28)

where g .. is the station reading, g, is the theoretical
gravity, Ag, is the latitude correction, Agg, is the
free-air correction, Ag, is the Bouguer correction,
and Ag, is the terrain correction. The correction
terms in Equation (2.28) correspond to a station
south of the reference latitude (in the northern hemi-
sphere) and above the datum. Sometimes, rather
than the value from Equation (2.20), some particular
station value in the survey area is used for g,. Note
that the signs of Agp, and Agy change when the
station is below the datum plane.

Another quantity that is sometimes used (espe-
cially with marine data) is the free-air anomaly, the
value of gz when Agy (and often Agy) is omitted
from Equation (2.28).

If the Earth had no lateral variations in density,
after corrections for the preceding effects, gravity
readings would be identical. The Bouguer and free-air
anomalies result from lateral variations in density
(see also Ervin, 1977).

2.3.3. Densities of Rocks and Minerals

The quantity to be determined in gravity exploration
is local lateral variation in density. Generally density
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Table 2.2. Densities.

Gravity methods

Range Average Range Average
Rock type (g/cn) (g/cm3) Mineral (g/cm’) (g/cm?)
Sediments (wet) Metallic minerals
Overburden 192 Oxides, carbonates
Soil 1.2-24 1,92 Bauxite 2.3-255 2.45
Clay 163-26 2.21 Limonite 35-40 378
Gravel 1.7-24 20 Siderite 37-39 383
Sand 1.7-23 20 Rutile 4.18-4.3 4.25
Sandstone 1.61-276 235 Manganite 42-44 432
Shale 1.77-3.2 2.40 Chromite 43-46 4.36
Limestone 1.93-290 2.55 limenite 43-50 4.67
Dolomite 2.28-29 2.70 Pyrolusite 47-50 482
Sedimentary rocks (av.) 250 Magnetite 49-52 512
Igneous rocks Franklinite 50-522 5.12
Rhyolite 235-270 252 Hematite 49-53 5.18
Andesite 24-28 2.61 Cuprite 5.7-6.15 5.92
Granite 250~ 281 2.64 Cassiterite 6.8-7.1 6.92
Granodiorite 267-279 273 Wolframite 71-75 7.32
Porphyry 2.60-289 274 Sulfides, arsenides
Quartz diorite 262-29% 2.79 Sphalerite 35-40 375
Diorite 272-29 2.85 Malachite 39-403 40
Lavas 2.80-3.00 290 Chalcopyrite 41-43 4.2
Diabase 250-3.20 291 Stannite 43-452 4.4
Basalt 2.70-3.30 299 Stibnite 45-46 46
Gabbro 270-~3.50 3.03 Pyrrhotite 45-48 465
Peridotite 278-13.37 3.15 Molybdenite 44-48 47
Acid igneous 230-3M 2.61 Marcasite 4.7-49 4.85
Basic igneous 200-317 279 Pyrite 49-5.2 5.0
Metamorphic rocks Bornite 49-54 51
Quartzite 25-270 2.60 Chalcocite 55-58 5.65
Schists 239-29 264 Cobaltite 58-6.3 6.1
Graywacke 26-27 2.65 Arsenopyrite 5.9-6.2 6.1
Marble 26-29 2.75 Bismuththinite 65-6.7 6.57
Serpentine 2.4-3.10 278 Galena 74-76 75
Slate 27-29 2.79 Cinnabar 80-8.2 8.1
Gneiss 259-30 2.80 Non-metallic minerals
Amphibolite 2.90-3.04 29 Peiroleum 06-09 —
Eclogite 3.2-354 337 ice 0.88-0.92 —
Metamorphic 24-31 274 Sea Water 1.01-1.05 —
Lignite 11-1.25 1.19
Soft coal 1.2-15 132
Anthracite 134-18 1.50
Chalk 1.53-26 2.01
Graphite 1.9-23 215
Rock salt 21-26 2.22
Cypsum 22-26 235
Kaolinite 22-263 253
Orthoclase 25-26 —
Quartz 25-27 2,65
Calcite 26-27 —
Anhydrite 2.29-30 293
Biotite 27-32 292
Magnesite 29-312 303
Fluorite 3.01-3.25 314
Barite 43-47 4.47

is not measured in situ, although it can be measured
by borehole logging tools (sce §11.8.3). Density can
also be estimated from seismic velocity (§4.2.8a).
Often density measurements are made in the labora-
tory on small outcrop or drill-core samples. How-
ever, laboratory results rarely give the true bulk

density becausc the samples may be weathered, frag-
mented, dehydrated, or altered in the process of
being obtained. Consequently, density is often not
very well known in specific field situations.

Density data are given in Table 2.2. Sedimentary
rocks are usually less dense than igneous and meta-
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morphic rocks. The wide range of density of sedi-
mentary rocks is primarily due to variations in
porosity. The nature of the pore fluids also affects
the bulk density. Sedimentary rock density is also
influenced by age, previous history, and depth of
burial. Obviously a porous rock will be compacted
when buried. In general, density increases with depth

L

(Fig. 2.7) and time. The density contrast between
adjacent sedimentary formations in the ficld is sel-
dom greater than 0.25 g/cm’® (except for the near-
surface; §2.7.11).

Although igneous rocks generally are denser than
sedimentary rocks, there is considerable overlap.
" Volcanics, particularly lavas, may have high porosi-

e
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ties and, hence, low density. Generally, basic igneous
rocks are heavier than acidic ones. Porosity, which
affects the density of sediments so greatly, is of
minor significance in most igneous and metamorphic
rocks unless they are highly fractured.

Density usually increases with the degree of meta-
morphism because the process tends to fill pore
spaces and recrystallize the rock in a denser form.
Thus metamorphosed sediments, such as marble,
slate, and quartzite, generally are denser than the
original limestone, shale, and sandstone. The same is
true for the metamorphic forms of igneous rocks,
gneiss versus granite, amphibolite versus basalt, and
SO on.

With few exceptions, nonmetallic minerals have
lower densitics than the average for rocks (2.67
g/cn?). Metallic minerals, on the other hand, mainly
are heavier than this average, but since they rarely
occur in pure form in large volumes, their effect
normally is not great.

2.3.4. Density Estimates from Field Results

(a) Density from underground measurements.
Sometimes it is feasible to make gravity measure-
ments underground. If readings are taken at points
directly below onc another (for example, at the sur-
face and in an underground opening), then the dif-
ference between these values is given by [see Egs.
(2.22) and (2.23)]

Ag = (0.3086 — 0.0838p) Az + ey mGal

Ag = (0.0941 — 0.0256p) Az’ + e mGal

where Az is the elevation difference in meters, Az’ in
feet, p is in grams per cubic centimeter, and & is the
difference in terrain corrections (due to air-filled
mine tunnels) in milligals. (Note that the Bouguer
correction has been doubled; see §2.3.2d.) Hence the
average bulk density in the intervening rock is

p=13.68—1193(Ag — er)/Az g/cn? (2.29a)
or

p=3.68 — 39.06(Ag — e7)/Az’ g/’ (2.29b)

Because ¢, depends upon p, Equations (2.29) are
usually solved by successive approximations.

Gravity methods

Hussain, Walach, and Weber (1981) discuss under-
ground surveys.

(b) Density from borehole gravimeter measure-
ments. Borehole gravimeters (§11.9.1) are able to
make gravity measurements to an accuracy of about
5 nGal (Schmoker, 1978; LaFehr, 1983). Terrain
corrections are not necessary in borehole measure-
ments. Differentiating Equations (2.29) keeping Az
and Az’ fixed gives

Ap = 0.0119A(Ag/Az) g/co?  (2.30a)
Ap = 0.0301A(Ag/Az') g/en®  (2.30b)

where Ag is in microgals. With meter accuracy of
45 uGal, the error in A(Ag) can be as large as +10
pGal, and measuring density to +0.01 g/cn? re-
quires readings 12 m (40 [t) or more apart.

The volume contributing most to borehole gravity
measurements is the portion closest to the borehole.
Half of the effect is produced by rocks within a
radius of 0.7Az, 80% from 2.45Az (the radius of
investigation) and 90% from within 5Az. Borehole
gravity measurements (LaFehr, 1983) permit deter-
mination of the density sufficiently far from the
borchole so that invasion and alteration by the
drilling process are unimportant, in contrast to the
few inches of effective penetration achicved by other
density logging tools. The main objective of borehole
gravity measurements usually is to determine poros-
ity, which is directly related to density.

(c) Nettleton’s method. A reasonably satisfactory
method of cstimating near-surtace density uses a
gravity profile over topography that is not corrclat-
able with density variations (Netticton, 1976). For
example, a profile across an erosional valley that is
not structure-controlled would probably be suitable,
but a profile across a structure-controlled ridge might
be suspect because density changes associated with
the structure may correlate with elevation. Field
readings are reduced to Bouguer gravity profiles as-
suming different values of p for the Bouguer and
terrain corrections. The profile that reflects the to-
pography the least is the one with the best estimate
of the density. The method is illustrated in Figure
2.8; incorrect density assumptions result in profiles
either following or inverting the topography. Obvi-
ously the density involved is that between the eleva-
tions of the highest and lowest stations.

(d) Parasnis’ method. An analytical approach
somewhat similar to Nettleton’s graphical method
has been developed by Parasnis (1962, p. 40). Re-
arranging Equation (2.28) and using Equation (2.25),
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we obtain

(8ovs — & + Ag +03086z) - gy
= (0.0419z — Agy/p)p

(gobs — &+ AgL + 009412') — 8p
= (0.01282' — Ag,/p)p

(2.31a)

(2.31b)
where z is in meters and 2’ is in feet. We wish to
determine the average bulk density for the data set
by considering the Bouguer anomaly gp to be a
random error of mean value zero. If we plot

(8obs — & + Ag;, + 0.30862)

versus (0.0419z — Ag,/p) (or the equivalent in terms

L

of z’), the slope of the best-fit straight line through
the origin will be p.

2.4. GRAVITY INSTRUMENTS

24.1. General

The absolute measurcment of gravity is usually car-
ried out at a fixed installation by the accurate timing
of a swinging pendulum or.of a falling weight.

Relative gravity measurements may be made in
various ways. Three types of instruments have been
used: the torsion balance, the pendulum and the
gravimeter (or gravity meter). The latter is the sole
instrument now used for prospecting, the others hav-
ing only historical interest.
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2.4.2. Absolute Measurement of Gravity

Although the timing of a freely falling body was the
first method of measuring g, the accuracy was poor
because of the difficulty in measuring small time
intervals. The method has been revived as a result of
instrumentation improvements and elaborate free-fall
installations are now located at several national lab-
oratories. It is necessary to measure time to about
1078 5 and distance to < j pm to obtain an accu-
racy of 1 mGal with a fall of 1 or 2 m.

Until recently, the standard method for measur-
ing g employed a modified form of the reversible
Kater pendulum. The value of g was obtained by
timing a large number of oscillations.

2.4.3. Relative Measurement of Gravity

(a) Portable pendulum. The pendulum has been
used for both geodetic and prospecting purposes.
Since g varies inversely as the square of the period
T, we have

T?g = constant

Differentiating, we get

Ag= —2gAT/T

- -2%(h-T)/T ()
Thus if we can measure the periods at two stations to
about 1 ps, the gravity difference is accurate to 1
m@Gal. This is not difficult with precise clocks such as
quartz crystal, cesium, or rubidium.

The pendulum has been used extensively for
geodetic work, both on land and at sea (in sub-
marines). Portable pendulums used in oil exploration
during the early 1930s had a sensitivity of about
0.25 mGal. Pendulum apparatus was complex and
bulky. Two pendulums, swinging in opposite phase,
were used to reduce sway of the mounting; they were
enclosed in an evacuated, thermostatically controlled
chamber to eliminate pressure and tempcrature ef-
fects. To get the required accuracy, readings took

about } hr.

(b) Torsion balance. A fairly complete account of
the salient features of the torsion balance can be
found in Nettleton (1976). Figure 2.9 is a schematic
of the torsion balance. Two equal masses m are
separated both horizontally and vertically by rigid
bars, the assembly being supported by a torsion fiber
with an attached mirror to measure rotation by the
deflection of a light beam. Two completec beam as-
semblies were used to reduce the effects of support
sway. Readings were taken at three azimuth posi-

Gravity methods

Figure 2.9. Torsion balance (schematic).

tions of the beam assemblics, normally 120° apart,
to get sufficient data to calculate the required results.
Elaborate precautions were required to minimize ex-
traneous effects such as temperature and air convec-
tion. Each station had to be occupied for approxi-
mately one hour so that daily production was only 8
to 10 stations.

The deflection of the torsion balance beam is due
to horizontal and vertical changes in the gravity field
resulting from curvature of the equipotential sur-
faces. Torsion-balance measurements permitted cal-
culation of U,,, U, U,. and |U, — Ul The
plotted values are usually the horizonial gradien:
[the vector (Ui + U,j)] and the differential cur-
vature [a vector with magnitude given by Equation
(2.19) and direction relative to the x axis of
(/2tan" 12U, /\U,, — U,,D). Measurements were
usually in Edtvos units (EU) equal to 1076
mGal/cm.

(c) Stable-type gravimeters. The first gravimeters
dating from the early 1930s were of the stable typc
but these have now been superceded by more sensi-
tive unstable meters. Nettleton (1976) describes a
number of different gravimeters. All gravimeters are
essentially extremely sensitive mechanical balances
in which a mass is supported by a spring. Small
changes in gravity move the weight against the
restoring force of the spring.

The basic elements of a stable gravimcter are
shown in Figure 2.10. Whereas the displacement of
the spring is small, Hooke's law applies, that is, the
change in force is proportional to the change in
length; hence,

AF=M8g=1k8s or 8g=k8s/M (2.33)
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Figure 2.10. Basic principle of the stable gravimeter.

where k is the spring constant in dynes per centime-
ter. To measure g to 0.1 mGal, we must detect a
fractional change in spring length of 1,/107 (because
Mg = ks, 8g/g = 8s/s), hence the need for consid-
erable magnification. Mechanically we can make
k/M small by using a large mass and a weak spring,
but this method of enhancing sensitivity is limited.
The period of oscillation of this system is

T =2n(M/k)'?
Substituting for M in Equation (2.33), we get

8g=4n?8s/T? (2.39)
Thus for good sensitivity, the period is very large
and measurement of 8g requires considerable time.
Stable gravimeters are cxtremely sensitive to other
physical effects. such as changes in pressure, temper-
ature, and small magnectic and seismic variations.

{d) Unstable-type gravimeters. Also known as la-
bilized or astatized gravimeters, these instruments
have an additional negative restoring force operating
against the restoring spring force, that is, in the same
sense as gravity. They essentially are in a state of
unstable equilibrium and this gives them greater
sensitivity than stable meters. Their linear range is
less than for stable gravimeters so they are usually
operated as null instruments.

The Thyssen gravimeter, although now obsolete,
illustrates very clearly the astatic principle (Fig. 2.11).
The addition of the mass m above the pivot raises
the center of gravity and produces the instability
condition. If g increases, the beam tilts to the right
and the moment of m cnhances the rotation; the
converse is true for a decrease in gravity.

At present the Worden and LaCoste-Romberg
meters are the only types used for exploration.

(e) LaCoste— Romberg gravimeter. The LaCoste-
Romberg gravimeter was the first to employ a zero-
length spring, now used by almost all gravimeters

21

Figure 2.11. Basic principle of the unstable (Thyssen)
gravimeter. (After Dobrin, 1960.)

g+o8

figure 2.12. Lacoste— Romberg gravimeter.

(Askania, Frost, Magnolia, and North American). A
zero-length spring is one in which the tension is
proportional to the actual length of the spring, that
is, if all external forces were removed the spring
would collapse to zero length. The advantage of the
zero-length spring is that if it supports the beam and
mass M (sec Fig. 2.12) in the horizontal position, it
will support them in any position (note that cos @ in
Eq. (2.35) cancels out, and g = K(1 — ¢/s), which
always has a solution since g is finite). Zero-length-
springs are built with initial tension so that a thresh-
old force is required before spring extension begins
(as with a door spring).

To derive the expression for the sensitivity of the
LaCoste~Romberg gravimeter, we write k(s — c) for
the tension in the spring when its length is s; thus, ¢
is a small correction for the fact that the spring is
not truly zero length. Taking moments about the
pivot in Figure 2.12, we get

Mgacosb = k(s — ¢)bsina
=k(s—c)b(ycos8)/s (2.35)
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Figure 2.13. Reading a Worden gravimeter.

using the law of sines. Thus
g = (k/M)(b/a)(1 - c¢/s5)y

When g increases by 8g, the spring length increases
by &8s where

8g = (k/M)(b/a)(c/s)(y/5) 8s (2.36)

For a given change in gravity 8g, we can make 8s as
large as we wish by decreasing one or more of the
factors on the right-hand side; moreover, the closer
the spring is to the zero-length spring, the smaller ¢
is and the larger 8s becomes.

In operation this is a null instrument, a second
spring being used, which can be adjusted to restore
the beam to the horizontal position. The sensitivity
of gravimeters in use in surface exploration is gener-
ally 0.01 mGal. The instrument requires a constant-
temperature environment, usually achieved by keep-
ing it at a constant temperature that is higher than
the surroundings.

(f) Worden gravimeter. The Worden gravimeter
(Fig. 2.13) is especially portable and fast to operate.
It uses small, very light weight parts of quartz (for
example, the mass M weighs only 5 mg) with small
inertia so that it is not necessary to clamp the
movement between stations. Sensitivity to tempera-
ture and pressure changes is reduced by enclosing
the system in a vacuum flask. The meter also em-
ploys an automatic temperaturc-compensating ar-
-angement. The Worden meter is small (instrument
cimensions are a few centimeters, the outer case is

about 25 cm high and 12 cm in diameter) and weighs
about 2.5 kg. Iis only power requirement is two
penlight cells for illuminating the scale.

A simplified schematic is shown in Figure 2.14.
The moving system is similar to the LaCoste—
Romberg meter. The arm OP’ and beam OM are
rigidly connected and pivot about O, changing the
length of the main spring P'C, which is fixed at C.
We have the following relations:

ZOCP' = LOP'C=n/2 — (a + 8/2)

RPLCP PPL1OP
SO
ZRPP' =1n/2 — a
s=CP 8s=CP' — CP=bfsin(n/2 - a)
SO

0 = 8s/(bcos a)

The correction factor ¢ that appeared in the treat-
ment of the LaCoste—Romberg meter is negligible
for the Worden meter. Taking moments about the
pivot for the case where § = 0, we get

Mpga = ksb cos a

When g increascs to (g -+ 8g), P moves along the
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Figure 2.14. Basic principle of the Worden gravimeter.

circle to P’ and
M(g+8g)acosd =kb(s+ 8s)cos(a + 6/2)
When 8 = 0, to the first approximation this becomes

M(g+8g)a
= kb(s + 8s){cosa — (8/2)sina}
= kb(s + 8s){cosa — (8s/2b)tan a}
= kb{ scosa — 8s(s/2b)tana + Sscosa}

Subtracting the first moment equation to eliminate
g. we get

Madg = kb{cosa — (s/2b)tana} 8s
Using the relation sin a = 5/2b, we finally get
8g = (k/M)(b/a)(cos2a/cos a)8s (2.37)

As in the LaCoste~Romberg meter, the sensitivity
can be increased by decreasing the factors (k/M)
and (b/a). in addition the factor (cos2a/cos a)
approaches zero when a approaches 45°, thus fur-
nishing another method of obtaining high sensitivity.
In practice the sensitivity is about 0.01 mGal.

Like the LaCoste~Romberg instrument, the
Worden meter is read by measuring the force re-
quired to restore the beam to the horizontal position.

(8) Calibation of gravimeters. Both the Worden
and LaCoste-Romberg meters are null instruments
and changes in gravity are shown as arbitrary scale

L o

divisions on a micrometer dial. There are several
methods for converting these scale readings to grav-
ity units.

Theoretically calibration can be carried out by
tilting because a precise geometrical system is in-
volved, but this is not the usual procedure. Gener-
ally, readings are taken at iwo or more stations
where values of g are alrecady known. If the value of
8g between the stations is large enough to cover a
reasonable fraction of the instrument range, a linear
response is usually assumed between them. However,
one should occupy scveral additional stations if pos-
sible.

2.5. FIELD OPERATIONS

2.5.1. Land Surveys

Gravity exploration is carried out both on land and
at sea. Although some attempts have been made to
devclop an airborne instrument, this mode of opera-
tion is not yet practical (Paterson and Reeves, 1985).

The distinction between reconnaissance and de-
tailed field work is based on the objective, that is,
whether the purpose is to find features of interest or
to map them. Station spacings in field work with the
gravimeter vary from 20 km to as little as 5 m. The
station interval is usually selected on the basis of
assumed depth and size of the anomalies sought. For
oil exploration, one station per 2 to 4 kn? is desir-
able because structures associated with oil accumula-
tion arc usually larger than this and hence their
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anomalies would not be missed with such spacing.
While a more-or-less uniform grid of stations is
desirable, stations are often run on loops that are
operationally easier. Stations 0.5 to 1.0 km apart on
loops roughly 6 X 6 km in size might be typical for a
petroleum survey.

In mineral exploration, gravity is normally em-
ployed as a secondary detail method for confirma-
tion and further analysis of anomalies already out-
lined by magnetic and/or electrical techniques. The
spacing is determined mainly by knowledge gained
from the earlier surveys. Measurements are usually
made at the same locations as the magnetic or elec-
trical stations, commonly 15 to 30 m apart.

Microgravity engineering and archaeological sur-
veys (for example, searching for cavities or bedrock)
sometimes involve station spacing as close as 1 m
(Arzi, 1975).

Field measurements with modern gravimeters are
straightforward. The gravimeter must be leveled pre-
cisely for each reading. It may be difficult to get a
stable null in swampy ground and when the wind is
strong, but extra care and time generally give an
acceptable measurement. Similar problems arise in
marine gravity work using instruments that rest on
the sea floor. For reasonable speed of operation, a
vehicle normally is used for getting from station to
station.

Precision is required in surveying gravity stations.
Achieving the required precision (10 cm in elevation
and about 30 m in latitude for 0.03 mGal accuracy)
often involves the major cost of field work. Gravity
measurements typically proceed much faster than
the surveying, and three or four survey teams may be
required to keep ahead of one meter operator.

Inertial navigation sometimes cuts the cost of
determining location and elevation, especially where
helicopter transport is used in areas of difficult ac-
cess (LaFehr, 1980). An inertial navigation system
(§B.7) senses acceleration by means of three orthogo-
nal accelerometers mounted on a gyroscopically sta-
bilized platform; changes in horizontal and vertical
position are determined by integrating twice over
time. Very small errors tend to accumulate rapidly to
produce large errors, but these can be reduced to
acceptable amounts if the helicopter stops every 3 to
5 min during which time the drift rate can be deter-
mined. This time interval is compatible with the
travel time from station to station. Lynch and King
(1983) claim 0.8 m elevation accuracy and 15 m
horizontal accuracy in a survey in the mountainous
overthrust belt of the Rocky Mountains, to yield
Bouguer values with 0.3 mGal accuracy. In a high-
precision survey of a limited area in northern Canada
checked by leveling, elevations were determined to

Gravity methods

0.9 m and horizontal positioning to 0.43 m, so iner-
tial navigation can achieve remarkable accuracy.
With a helicopter survey, stations can be located on
a more uniform grid than with land surveys (which
are usually run around the perimeter on traverses),
so that interpolation errors are considerably reduced.

2.5.2. Drift Correction

Gravimeters change their null reading valuc gradu-
ally with time. This drifr results mainly from creep in
the springs and is usually unidirectional. Modern
instruments, however, have very little drift. Gravity
readings also change with time becuase of tidal ef-
fects (§2.3.2f).

The net result of drift and tidal effects is that
repeated readings at one station give different values.
Drift correction is accomplished by reoccupying some
stations. The maximum time between repeat read-
ings depends on the accuracy desired, but is usually
3 or 4 hr. A drift curve is shown in Figure 2.15. Its
oscillatory shape is determined by tidal effects. It is
not necessary to use the same station for checking
drift because any station can be reoccupied. Interme-
diate gravity stations occupied only once can then be
corrected for the drift that occurred.

If the meter movement is not clamped between
readings or is subjected to sudden motion or jarring
(as during transport), somewhat erratic changes
(called tears or tares) may be produced. If the in-
strument is bumped, it is wise to reread a known
station immediately. Since therc is no way of allow-
ing for erratic changes, we can only correct those
points occupied while the drift curve is smooth.

2.5.3. Marine Surveys

(a) Locating marine stations. Considerable gravity
work has been donc on the surface of water-covered
areas and also on the sea floor. Locating the station
is usually done by using a radionavigation system
such as Shoran, Raydist, or RPS (see §B.6). The
accuracy of offshore location is usually lower than
on land but elevation determination is not a problem
if appropriate allowance is made for tidal variations.

(b) Remote control systems. Standard gravimeters
have been adapted for operation on the sea floor to
depths of 200 m. This method of measurement is
suitable for most inland waters and coastal areas.
The meter is cnclosed in a pressure housing that is
supported on a squat tripod with disk fect. About
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Figure 2.15. Gravimeter drift during a field survey.

Figure 2.16. Photograph of a shipboard gravimeter.

half the total weight of the assembly is in the tripod
in order to provide maximum stability when it is
resting on the bottom; the overall weight of one
model is 300 kg. The assembly is connected to a ship
by a cable from which it is lowered into position on
the bottom. Leveling is achieved by small motors
that raise or lower the disk fect.

Although the high sensitivity of this equipment is
an advantage, operation in deep water is slow be-
cause the assembly must be raised to the surface
between stations. A problem in reoccupying stations
is that the sea floor focation may be different from
that previously occupied, even when the surface loca-
tion is identical. This method is now little used.

(c) Shipboard operations and the Ebtvds correc-
tion. Shipboard gravimeters (Fig. 2.16) are used for
most gravity measurements at sea. Shipboard
gravimeters arc mounted on an elaborate gyro-stabi-
lized platform (Valliant and LaCoste, 1976) located
in the part of a ship where there is minimum move-
ment due to roll and pitch.

If a gravimeter has a velocity during a measure-
ment, the centrifugal force acting on the meter is
different from that when it is at rest. An castward
component of velocity adds to the velocity owing to
the rotation of the Earth and hence increases the
centrifugal force and decreases the gravity reading.
A westward component of velocity has the opposite
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useful for regional studies and reconnaissance of
large anomalies. Brozena (1984) achieved an accu-
racy of 5 mGal averaged over 20 km.

effect. A northward component creates a new com-
ponent of centrifugal force, which is added vectori-
ally to the first. The correction for the velocity of the
meter, Agy. called the EGwais correction, is given by

Ag, = 4.040V cos ¢ sina + 0.0012111? mGal

L -

2.6. GRAVITY DATA PROCESSING

(2.38a)

Ag, = 7.503V" cos ¢ sina + 0.004154/2 mGal

(2.38b)

where V is in kilometers per hour, V' in knots, ¢ is
the latitude, and « is the course direction with

respect to true north. The accuracy of shipboard resulting from density changes (anomalous masses) ¢
gravity depends mainly on the accuracy of the Eotvos  at various depths. Some anomalous masses lie at v
correction. depths in the zone of interest, some result from 2
The error in the E6tvos correction due to errors  deeper masses, and some from shallower ones. As T
in ¥V and « is the source of an anomaly deepens, the anomlay d:
become more spread out and its amplitude de- re
d(Agy) = (0.0705V cos ¢ cos a) da creases. The smoothness (or apparent wavelength) of re
anomalies is generally roughly proportional to the sﬁ
+(4.040 cos ¢ sina + 0.002422V) 4V depth of the lateral density changes. rel
The depth range we wish to emphasize depends
(2.39) on the objectives of the interpretation. Shallow be
anomalies are of interest in mineral exploration but res
with ¥ and dV in kilometers per hour and da in ar¢ usually regarded as undesirable noise in petro- sul
degrees. Thus the sensitivity to velocity error is leum exploration. As in any geophysical technique, in
greatest for an east-west course and the sensitivity the most useful factor in interpretation is knowledge pre
to course-direction error is greatest for a north-south  Of the local geology. o ally
course. Assuming that the velocity at the moment of Wherea's it is possible for a distributed anor.n:'ilous dra
gravity reading involves an uncertainty of 0.2 km/hr ~ mMass to give an anomaly that appears to onginate the
and instantaneous heading error of 1°, ¢ = 40°, and from a more concentrated deep(.:rA mass, a concen- files
¥V =10 km/hr, then d(Ag,) = 0.62 mGal for an trated mass cannot appear to originate deepcr. The ensi
east-west course and 0.54 mGal for a north-south horizontal extent and smoothness of an anomaly is Thi;
course. thercfore usually a measure of the depth of the giot
anomalous mass, and this property can be used to has
partially separate the effects of anomalous masses stati
that lie within a depth zone of interest from the be u
. . effects of both shallower and dceper masses. : ther.
2.5.4. Airborne Gravity The effects of shallow masses l()near-surface noise) r latic
The main difficulty with airborne gravity surveys are usually of short wavelength. They can be re- C
arises from very large and rapid changes in g,, moved largely by filtering out (smoothing) short- ; als a
caused by changes in the aircralt altitude, linear ~wavelength anomalies. The effccts of deep masses are Boug
acceleration, roll, and heading. These effects can be called the regionc/. The gravity field after near- | Grap
corrected for in shipborne gravity work because surface noise and the regional have been removed is ing ¢
changes are slow and the velocity is low. called the residual. it presumably represents effects 1 when
Hammer (1983) tells of using a helicopter flying of the intermediate zone of interest. ! W
(in the middle of the night to avoid air turbulence) at The major problem in gravity interpretation is tional

a speed of 50 to 100 km/hr at elevations of 300 to
4,000 m using an autopilot directed by a navigation-
system computer (2 human pilot is not sufficiently
precise). His data, smoothed ove: a 2 min window (2
to 4 km), suggest that airbornc gravity would be

2.6.1. Noise, Regionals, and Residuals

Because a Bouguer map shows horizontal differences
in the acceleration of gravity, only horizontal changes
in density produce anomalies. Purely vertical changes
in density produce the same effect everywhere and so
no anomalies result.

The gravity field is a superposition of anomalies

separating anomalies of interest from the overlap-
ping cffccts of other features; usually the main
obscuring effects result from deeper features. Residu-
alizing attempts to remove the regional so as to
emphasize the residual. However, the separation usu-

- e el
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ally is not complete; both regional and residual are
distorted by the effects of each other.

Residualizing can also be thought of as predicting
the values expected from deep features and then
subtracting them from observed values, so as to leave
the shallower effects. The expected value of the re-
gional is generally determined by averaging values in
the area surrounding the station. Several methods of
removing the unwanted regional are described in the
pext section. Gupta and Ramani (1982) discuss the
application of different residualizing methods.

2.6.2. Graphical Residualizing

Graphical residualizing is done by smoothing either
profiles or maps. A simple example of removing the
regional by smoothing is illustrated in Figure 2.17.
The profile in Figure 2.17a shows disturbances of
different sizes; the smooth, nearly linear slope is the
regional. In Figure 2.17b, the regional contours are
regular and the residual obtained by subtracting the
smoothed contours from the map values should be
reliable.

The emphasis in drawing a smooth regional should
be on “smooth” and most of the errors or failures in
residualizing are caused by the regional not being
sufficiently smooth. “Smooth” implies both smooth
in shape and systematic in contour interval. Often
profiles are plotted for several parallel lines, gener-
ally in the dip direction. Smooth regionals are then
drawn on these parallel lines. making certain that
they are consistent on all profiles. Often cross pro-
files are drawn linking the parallel lines into a grid to
ensure that the regional is consistent over the grid.
This approach is especially suitable when the re-
gional trend is mainly unidirectional. If the survey
has been carried out with close, uniform spacing of
stations and lines, the station values themselves can
be used instead of contour values to plot the profiles,
thereby reducing errors because of contour interpo-
lation.

Once the regional has been contoured, the residu-
als are obtained by subtracting the regional from the
Bouguer map, either graphically or numerically.
Graphical residualizing is sometimes done by draw-
ing contours of constant difference through the points
where regional and observed contours intersect.

} When the regional is so irregular that the direc-
tional trend is not immediately apparent or when
there are several superimposed regional systems,
residualizing may be done iteratively. that is, one
ﬁ_rsl determines and removes thc most obvious re-
gional and then finds a second-order regional from
the first-order residual, and so on.

L
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Gravily station locations should be shown on the
final map to aid in distinguishing residuals that are
well controlled from those possibly resulting from
interpolation.

The result obtained by smoothing profiles or con-
tours is inevitably biased by the interpreter, but this
is not necessarily bad. If the interpreter is experi-
enced and uses additional geologic knowledge to
guide him, it may be a decided advantage. It should
be noted that nonsmoothing methods of residualiz-
ing also involve subjective elements, such as the
choice of order for surface fitting, of grid dimensions
in grid residualizing, and so on.

2.6.3. Surface-Fitting Residualizing
Methods

The regional is sometimes represented by a low-order
analytic surface. The parameters of the analytic sur-
face are usually determined by a least-squares fit
(Agocs, 1951) or some similar operation. How closely
the surface fits the data depends on the order of the
surface and the magnitude of the area being fitted.
Nettleton (1976) illustrates orders of fit for a one-
dimensional case (Fig. 2.18). The regional surface is
often that given by a polynomial or the low-order
components of a 2D-Fourier surface [Eq. (A.522)].
The selection of order is usually made by examina-
tion of trial fits of several different orders.

Surface fitting is sometimes done to isolate and
emphasize trends. Results from Coons, Woolard,
and Hershey (1967) are shown in Figure 2.19. The
trend becomes more cvident as the order increases
up to some point, about tenth order for the data of
Figure 2.19. The residual for low order still contains
appreciable regional trend and thus low orders are
not very effective in separating the regional from the
residual. Likewise, high-order surfaces are not effec-
tive because much of the sought-after anomaly is
mixed with the regional in the surface fit.

2.6.4. Empirical Gridding Methods

Gridding provides a simple way of predicting the
regional by rcgarding it as the average value of
gravity in the vicinity of the station (Griffin, 1949).
Usually the values averaged are those on the circum-
ference of a circle centered at the station:

20r) = (1/27;)[02”g(r.0) d6  (2.40)
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Figure 2.17. Graphical residualizing (After Sheriff, 1978). (a) Removing the regional on a
profile across a local uplift and a fault.
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Figure 2.18. Illustrating least-squares surface-fitting. Curve G represents a gravity profile
and curves 1,4, 8,16 represent fits of the respective orders. The surface fit, and hence
the residual. depends on the dimensions that are fitted (from Nettleton, 1976).
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Figure 2.19. Fits of surfaces of different order and the respective residuals. (After

Coons, Woolard, and Hershey, 1967.)

In actual practice the integral is generally replaced
by a sum of discrete values (as in Fig. 2.20a):

g(r) = {g(r.0) +g(r.0) + - +g(r.8,.1)}) /n
(2.41)

where 8,, = m(2#/n). The residual is then

g =8~ 8(7) (2.42)
where gg is the Bouguer anomaly value. Usually the
values of g(r, 8,,) are obtained by interpolation from
the gravity map contours. The result depends some-
what on the number of points sclected but even more
on the radius of the circle. If the radius is so small

that part of the anomaly is included on the circle,
then the anomaly magnitude will be too small; if the
radius is too large, the average may be biased by
other anomalies. The radius is usually of the same
order of magnitude as the depth of the anomaly to
be emphasized, but both shallower and deeper
anomalies will still contribute to the results. The grid
spacing for points to be calculated is generally about
half the radius used for averaging.

Sometimes averages over several circles of differ-
ent radii r, are used; successive circles are assigned
different weights, w;:

8 = (c/sz){go"'wlg—(;lj"' Wzm"' }
(2.43)

T

-

L

wher¢
Lw, =
are r¢
(2.43)
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Figure 2.20. Analytical separation of the residual and the regional. (a) Griffin method.
(b} Second-derivative method.

+H--- Analytical regional
— — — — Graphical regional
Observed gravity

iz

Graphical residual

' Halo Anomaly
circle, Halo
- if the \ —— P
sed by N Analytical residual

* same Figure 2.21. Comparison of graphical and analytical methods of removing regional
ly to gravity.

deeper
1c grid
about where ¢ is a constant, s is a scale factor, and negative according to his concept of the density

Zw o= -1 Usually the values on the various circles  contrast expected to cause the anomaly. However, in
differ- are read at grid points as in Figure 2.20b. Equation nongraphical methods, the average value of the
signed (2.43) is simply the expression for a 2-D convolution, residual is usually set at zero so that both positive

and residualizing can be thought of as a convolution and negative residuals result. This is illustrated in

or filtering operation. Figure 2.21. A consequence of this is that each .
. } In graphical methods the interpreter usually draws  anomaly is surrounded by a “halo” of opposite sign,
(2.43) the regional so that all residuals are either positive or  which does not indicate a separate anomaly. !

L S S S
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2.6.5. Second Vertical Derivative Methods

The second vertical derivative enhances near-surface
effects at the expense of deeper anomalies. Second
derivatives are a measure of curvature, and large
curvatures are associated with shallow anomalies.

The second vertical derivative can be obtained
from the horizontal derivatives because the gravity
field satisfies Laplace’s equation

Vig = 3%/dx* + d%g/ay* + 3%g/322 =0

3%/92% = — (3% /3x* + d%/dy?) (2.44)

For the one-dimensional case, the first derivative can
be estimated by dividing the difference between read-
ings at two nearby locations, x; and x,, separated
by the distance Ax:

dg(x,5)/dx = {8(*‘2) - g(xl)}/Ax

The second derivative is obtained from the difference
between nearby first derivatives:

dg(x,)/dx? = { dg(x,5) /dx — dg(x,5)/dx} /dx
= [{ 8(x3) - 8(x)} /Bx
~{g(x2) ~ g(x)}/Bx]/5x
= {8(x;) - 28(x,)

+g(x)) /(Ax)* (2.45)

Equation (2.45) has the same form as Equation (2.43)
(a weighted sum of the values at nearby points), and
Equation (2.43) yields an estimate of the second
vertical derivative for appropriate values of w;.

A number of mathematical treatments have been
developed (Henderson and Zietz, 1949; Elkins, 1951;
Dean, 1958) to extract the vertical second derivative
from the average values at various distances from the
station. Generally values over concentric circles are
weighted to produce an expression of the form [com-
pare with Eq. (2.43)]

82g/¢9z2 = (c/.s'z)(wog0 + wlg_1 + wzg_z + .- )

(2.46a)

Gravity methods

where g, is the gravity at the station where the
second derivative is being determined, g,.g,.... are
averages over surrounding circles of various radii,
Wp, Wy, ... are weighting coefficients such that Zw, =
0, ¢ is a numerical factor, and s is the grid spacing.
For example, if the survey is on a square grid and
the successive radii are s, 5,2, and s/5 (as in Fig.
2.20b), one form of equation (2.46a) is

d%/02% = 2(3g, ~ 4g, + g,) /5% (2.46b)

(Henderson and Zietz, 1949). Gupta and Ramani
(1982) show an application to mineral exploration.

2.6.6. Wavelength Filtering

The foregoing methods of separating residuals from
the regional are based on the degree of smoothness
(or wavelength = 1 /wavenumber; see §4.2.2d) of
anomalies. Filtering can also be done by transform-
ing map data to a wavenumber-wavenumber do-
main using a two-dimensional Fourier transform
[Egs. (A.57)], removing certain wavenumber compo-
nents (that is, filtering), and then doing an inverse
transformation to reconstitute the map, but with
certain wavelengths removed. What are removed are
usually the small wavenumbers (large wavelengths)
of the regional, so that the wavenumber components
involved in the inverse transform are the large ones
which correspond to the short wavelengths of the
residual.

Wavenumber filtering encounters the same prob-
lem as other residualizing schemes. The wavenumber
spectra of most features are broadband, so spectra of
features at different depths overlap and consequently
the features cannot be separated completely by fil-
tering.

2.6.7. Field Continuation

The fact that gravity fields obey Laplace’s equation
permits us to determine the field over an arbitrary
surface if the field is known completely over another
surface and no masses are located between the two
surfaces. This process is called continuation.
Following the method of Grant and West (1965,
pp. 216-21), we let the plane z = O separate free
space (z < 0) ‘from the region containing masses
(z > 0) (Fig. 2.22a); P is a point in free space, O
locates a point mass, and 1 is the distance PQ. If Up
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Plxg. yo. = )

(b)

figure 2.22. The continuation theorem. (After Grant and
West, 1965.) (a) Hemisphere S on positive side of xy
plane. (b) Hemisphere on negative side of xy plane.

and U, are the potentials at P and Q. Equations
(2.6a) and (2.13b) give

Up =7 [ (o/R) dv
14
VzUQ = —4nyp
Eliminating p, we have
Up = = (1/47) [ (1/R)v2Uj, dv
v

We now apply Green's theorem [Eq. (A.28)] to
the hemisphere in Figure 2.22a with W = 1 /R, U =
Up inside S. and U= U; on the surface. Since
V(1/R) = 0, we get

—fV(I/R) V2, dv = 4nlp = j;{ Us v(1/Rg)
—(1/Rs) vUs}) - ds
= fS{US a/an(1/Rs)

~(1/Rg) 8Us,/8n) ds
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The derivatives within the braces are the components
of the gradients normal to the surface ds. Setting the
radius of the hemisphere equal to infinity causes the
contribution of the curved surface to vanish because
of the factor 1/Rg, and the integral reduces to

4alp = f‘/';{ Us(3/9n)(1/Rs)
~(1/Rg) dUs/dn} dxdy (2.47a)

The integration is taken over that portion of the xy
plane where the anomalous field is significantly larger
than zero.

We now follow the same procedure using the
hemisphere in Figure 2.22b. Because W2Uj, =0
within the hemisphere [Eq. (2.11a)], we get

o [f(staronciny
—(1/Rg) dUs/3n} dxdy (2.47b)

The right-hand sides of Equations (2.47a) and (2.47b)
appear to be the same, but, in fact, they are different
because n, the outward unit normal to the surface
ds, is upward (—z direction) in Equation (2.47a)
and downward (+z direction) in Equation (2.47b).
Thus, dU;/dn = —g in Equation (2.47a) and +g
in Equation (247b). Also, R% = (x — xp)® +
(¥ = 3o)* + (z + k)2, 50, on the xy plane,

(3/0n)(1/Rs)

lim (8/82)(1/Rs)

linz){ -(z+h)/R}}

—h/R§

which is independent of the direction of n. Thus,
subtracting Equation (2.47b) from (2.47a), we obtain

Up = (1/27) f fy (8/Rs) dxdy

where Rf = (x — x0)2 + (y — y)? + h2. To get
dUp/3z at P, we replace h? in R with 22, differ-
entiate, and then replace z with (—4) (note that g
on the xp plane is not a function of z). The result is

Up/3z = gp = (1/2w)hfxfy( g/R%) dxdy

(2.48)
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Since (h/Rg) = cos @ in Figure 2.22b, (g/27) can
be regarded as a surface density of mass replacing
the mass below the xy plane [compare with Eq.
(2.14)). Equation (2.48) is the upward continuation
equation that allows us to calculate the gravitational
acceleration anywhere in free space from a knowl-
edge of its values over the surface. Upward continua-
tion is effectively smoothing. Although upward con-
tinuation is not done much in gravity analysis, it is
used in magnetic interpretation to comparc measure-
ments made at different flight elevations.

If we can calculate the gravity field over a surface
closer to the anomaly sources, the anomaly should
be sharper and less confused by the effects of deeper
features. This process, called downward continuation,
was described by Peters (1949). It involves calculat-
ing a gravity value at depth from gravity values and
derivatives on a shallower surface. The derivatives
are usually evaluated by averaging over circles of
different radii as described in Section 2.6.5. The
main theoretical limitation on the method is singu-
larities associated with masses through which the
continuation process is carried. The main practical
limitation is imposed by uncertainty in the measured
field; because derivatives involve differences, their
calculation magnifies uncertainties. The result is that
minor noise is increased in the downward-continued
field and this noise may outweigh the benefits of
sharpening anomalies.

We begin with Laplace’s equation (2.11b) (thus
implicitly assuming that we will not continue through
any masses) and the expressions for second deriva-
tives calculated by finite differences [Eq. (2.45)]. For
the point (xg, y;,0) and station spacing s, we write

3%g/ax* = { g(xo + 5. 3.0) — 28(x0. %.0)
+g(xg = 5. 39.0)} /?

328/9)’2 = {g(xo. Yo 5,0) — 2g( xo. ,"0‘0)
+8(XO~J’0_5~O)}/52

3%g/92% = { g(x0. yo. +5) — 28(%0. 15.0)

+g(xg. Yo = $)} /5

If we take z to be positive downward, then
g(Xo- Jo» +5) is the gravity value a distance s below
the station g(xg. ¥o.0). Substituting into Laplace’s

Gravity methods

equation, we get

8(xo: o> +5) = 68( xp, y5.0)
—{ g(x0 + 5, %.0)

+g(xo — 5, %,0)
+g(xg, yp +5.0)
+g(xg. ¥o — 5.0)

+g(x0. Jo, — )} (2.49)

All of these terms can be found from the gravity
values read from a grid except for the last term,
which can be found from Equation (2.48). Similar
but more complicated procedures use concentric Cir-
cles passing through grid stations. Othcr methods
employ Fourier transform theory (see Grant and
West, 1965, p. 218).

2.7. GRAVITY INTERPRETATION

2.7.1. General

After the camouflaging interference effects of other
featurcs have been removed to the best of our abil-
ity, the interpretation problem usuvally is finding
the mass distribution responsible for the residual
anomaly. This often is done by iterative modeling
(Bhattacharyya, 1978). The field of a model mass
distribution is calculated and subtracted from the
residual anomaly to determine the effects for which
the model cannot account. Then the model is changed
and the calculations repeated until the remaining
effects become smaller than some value considered
to be “close enough.” To limit the number of possi-
ble changes, we include some predetermined con-
straints, for example, we might change only the
upper surface of the mass distribution.

Before iterative modeling became practical, inter-
preters generally compared residual anomalies to
anomalies associated with simple shapes, and this
procedure is still useful in many situations. Simple
shapes can be modeled with a microcomputer (Reeves
and MacLeod, 1983). A gravity anomaly is not espe-
cially sensitive to minor variations in the shape of
the anomalous mass, so that simple shapes often
yield results that are close enough to be useful. Study
of the gravity effect of simple shapes also helps in
understanding the types of information that can be
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learned, for example, in determining what aspects of
an anomaly indicate the depth, shape, density con-
trast, total mass, and so forth.

In the following examples, the density symbol p
is the density contrast with respect to the laterally
equivalent material (in numerical relations, p is the
difference in specific gravity because density is usu-
ally given in grams per cubic centimeters even where
linear dimensions are given in English units).

2.7.2. Gravity Effect of a Sphere
The gravity cffect of a sphere at a point P (Fig.

223), directed along r, is g, = yM/r? The vertical
component is

g=g, cosb = yMz/r3

= kpa’z/(x* + 12)3/2 mGal  (2.50)

Figure 2.23. Gravity effect of a sphere.

where
k=4xy/3
=279 X 10”3 when a, x, z are in meters
=852x10"% when a, x, z are in feet

Note that z is the depth to the sphere center rather

than to the top of the sphere and that the profile is

symmetrical about the origin taken directly above

the center. The maximum value of g is

Emax = 27.9 X 107%43/2% when a. z in meters
(2.51a)
= 8.52 X 107%4a?/z? when a, z in fect

(2.51b)

The depth of the center of the sphere, z, can be
found from a profile. When g = g, /2, z = 1.3x 5.
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Figure 2.24. Gravity effect of a horizontal rod. (a) Three-dimensional view. (b) Projec-
tion on the plane containing the rod and the y axis. (c) Projection on the xz plane. (d)

Gravity profile along the x axis (L = o).

where x, ,, is the half-width of the profile, that is,
half the width at the half-maximum value. We can
also express the mass of the sphere, M, in terms of

X1 /2 and guay!

M = 2558 ( x1/2)2 tonnes  (2.52a)

where x; /, is in meters, or, where x{  is in feet,
M= 2.61gm,‘()c1’/2)2 short tons  (2.52b)

The spherical shape is particularly useful as a first
approximation in the interpretation of three-dimen-
sional anomalies that are approximately symmetri-
cal.

2.7.3. Gravity Effect of a Horizontal Rod

The effect at P(x. y.0) of a segment of length d/ of
a horizontal rod perpendicular to the x axis at a
depth z (Fig. 2.24) with mass m per unit length is

dg, = ymdi/r* = ym(n de/cos? ¢) /rt = ymde/r

where dl = (r, d¢/cos? ¢). The component along

18
dg, = dg,cos ¢ = ymcosde/n
and the vertical component is

dg = dg, cos § = dg,(z/r) = ymz cos ¢ do/r{

Integrating from tan~!'{(y — L)/n} to tan~!

{(y + L)/}, we get

('ymz) y+ L

E= "2

" {(y+1L)+ r,z}]/2
y—L

((y-1?+r2)"

ym 1

T2 | (14 (24 )My + 1Y)

1

B {1+ (2+2)/(y- L)?

¥ = | (253)

This is
The d
(2.54):;
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Surface

figure 2.25. Gravity effect of a vertical cylinder. {a) Calculation of gravity over the axis.

(b) Geometry of a cylindrical slice.

If the rod is infinite in Iength, the limits of integra-
tion would have been +7/2 and the result would be

g =2ym/z(1 + x2/2?) (2.54)

This is usually a good approximation when L > 10z.
The depth z to the center of the rod in Equation
(2.54) can be found from the half-width x, ,,:

2=, (2.55)

If the rod is expanded into a cylinder of radius a, the
only change in Equations (2.53) and (2.54) is that
m = qma’.

27.4. Gravity Effect of a Vertical Cylinder

The gravity effect on the axis of a vertical cylinder
(which is the maximum value) can easily be calcu-
lated. First we find g on the axis for a disk of
thickness d¢ (Fig. 2.25a). We start with an elemen-

. tary ring of width dr whose mass is 8m = 2mprdrdft,

i

so that its gravity effect is
8g = ydmcos¢/(r? + £2)
= (27pyd¢)rdrcos o /(r? + £2)
=2uypd{sing do
on eliminating r. Integrating first from ¢ = 0 to

tan"!(R/¢) for the disk and then from £=z to
z + L, we get, for the whole cylinder,

g= 2wypfz+L{l ~ (% + Rz)l/z} d¢
k4
= 2ﬂyp[L + (22 + RZ)V2

~{(z+1L)+ Rz}mJ (2.56)
where

27y =419 X 107® when z, R, L are in meters = -

=12.77 X 10~ when z, R, L are in feet i

R
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Figure 2.26. Gravity effect off the axis of a vertical cylinder.

There are several cases of special significance:

_If R = co. we have an infinite horizontal slab and

g=2mypL (2.57)
This is the Bouguer correction given in Section
2.3.2d. Note that g is independent of the depth of
the slab and varies only with its thickness.

. The terrain cofrection can be obtained using a

sector of the cylinder as shown in Figure 2.25b.
We have 8m = p(r8) drd¢ so that

8g = y(prédrd¢)cos¢/(r? + ¢*)
= yp8 d{ sin¢ d¢

on eliminating r. We integrate from ¢ =
tan~1(r;/¢) to tan"'(r,/¢) and from £=0to L.

The result is
sgr=100{(rn—n) + (i + 12
—(+ 12"} (258)

which is Equation (2.26)*with L replacing Az
3. When z = 0, the cylinder outcrops and we get

)1/2

g=2mp{L+R-(L+ R} (2.59)

4. If L — oo, we have
g= 27ryp{(22 + RZ)V2 - z} (2.60)
If. in addition, z = 0, we have
g = 2mypR (2.61)

When L > z, we can use Equation (2.60) to get the
gravity off-axis (see MacRobert, 1948:151-5 or
Pipes and Harvill, 1970:348-9). Because g satisfies
Laplace’s equation, we can express it in a series of




ids

1.60)

1.61)

¢ the
S or
isfies
es of

Gravity interpretation

10 -
08 [
. 06
Q
-~
o~
S
04 |-
02 -
! 1 1 ]

39

xth

7

A\

-

Figure 2.27. Gravity effect of a thin sheet of infinite strike length.

Legendre polynomials P,(u) where p = cos 8 (Pipes
and Harvill, 1970:799-805). Taking r > z in Figure
226, we have three cases to consider: r > z > R,
R>r>z and r > R > 2 For the first case, we get
(see problem 3)

g(r.8) = 2mypR{(R/2r) - (R/2r)’Py(p)
+2(R/2r)°P(p) ~ -} (262)
For the second case, R > r > z, the result is
g(r.0) = 2myoR{1 - 2(r/2R) P,(p)
+2(r/2R)* (1)
—2(r/2R)*Py(p) + -+ } (263)

The result for the third case, r > R > z, is the same
as Equation (2.62), showing that Equation (2.62) is
valid whenever r > R. From Equations (2.62) and
(2.63) we get the curve in Figure 2.26.

2.7.5. Gravity Effect of a Thin Dipping Sheet

Considerable simplification can be effected when a
body can be considered two-dimensional. In general,

this holds when the strike length is about 20 times
the other dimensions (including depth).

Referring to Figure 2.27, we have the following
rclations:

p={(x—-hcota)sina = xsina — hcos a,
r=psect

z=rsin(a+0~n/2) = p(sinatand — cos a)
dz = psinasec? § df

no=(x*+ 1),
12
= {(x+ ¢tcosa)® + (h + t’sina)z} /

Now we apply Equation (2.9) for a two-dimensional
structure. The product dx dz in Equation (2.9) repre-
sents an element of area of the cross section, that is,

dxdz = td{=tcsc adz = 1p sec? 0 df

Equation (2.9) now gives (note that r' is the same as
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Figusre 2.28. Gravity effect of a semiinfinite horizontal sheet.
r here) horizontal sheet,

g= Zyptpfoz (z/r*)sec* 648
g

)
= 27ptf :(sinatan() — cos &) df
-9

= 2ypt{sinaln(cos 8, /cos 6,) — (6, + 6)cos a}

= 2ypt{sinaln(r/r,) — (6 + 6,)cos a}
(2.64)

If the sheet is vertical, Equation (2.64) simpli-
fies to

g =2yt o[ {(h+£)? + x*}[(x* + )] (269

The thin sheet is a good approximation to a prism
unless the thickness of the prism is somewhat greater
than h, the depth to the top. When the dip is steep
(> 60°), the depth can be roughly estimated from
the half-width, for example, when h=¢, h=
0.7x, 5, However, when ¢ is large or when the dip is
small it is not possible to get a reliable estimate.

2.7.6. Gravity Effect of Horizontal Sheets,
Slabs, Dikes, and Faults

(a) Horizontal thin sheet. When the sheet in Equa-
tion (2.64) is horizontal, & = 7 and we have

g = 2yot(6, + 6)

= 2ypt[tan~1{ (¢~ x)/h} + tan” (x/h)]
(2.66)

If. in addition, £— oo, we have, for a semiinfinite

g=2ypt{m/2+ 1an" (x/h)} (2.67)

and if the sheet extends to infinity in the other
direction (that is, x goes to infinity as well) we have
the Bouguer correction as in Equation (2.57) with ¢
replacing L.

The profile for a semiinfinite horizontal sheet is
shown in Figure 2.28. The thin sheet result can be
used to approximate a horizontal slab with an error
less than 2% when h > 2¢. A fault often can be
approximated by two semiinfinite horizontal sheets,
one displaced above the other as in Figure 2.29.

(b) Horizontal slab. Equation (2.67) can be used to
find the gravity effect of a semiinfinite horizontal
slab terminating at a plane dipping at the angle «
(Fig. 2.30). We use Equation (2.67) to get the effect
of the thin sheet of thickness dz and then integrate
to find the result for the slab (Geldart, Gill, and
Sharma, 1966).

We must replace x in Equation (2.67) with (x +
ztan B), so tan"!(x/h) becomes tan”'{(x +
z tan B)/z} = 0. Equation (2.67) now gives

g= 27pfzz(7r/2 +0)dz = 2-Yp(7rt/2 + f”edz)
B 5 g=2
We now have:

Using

tanf = (x + ztan B) /z = (x/z) + tan B integra

z = x/(tan@ — tan B)
dz = —x sec? oao/(tana — tan B)?
—xcost B do/sin* (8 — B)
—x cos? B dy/sin?
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where ¢ =0 - g. Substituting for dz, we get Thus,

g= ZYp[m/Z — xcos? B{ —¢ cot ¢ + In(sin )

dz) §
g= 2~,p{m/2 - xcoszﬁf:z(q, + B) dy/sin ,,o}

:
E

~Beoty)|%]
= 230 mi/2 + x s B((4 + B)eot ¥
~Insin ) }|%]
=2yp[m1/2 + xcos? B{ (4, + B)cot ¥,

(¢, + B)cot ¥
—ycoty + In(sin ) —In(sin ¢, /sin ) } |

Using the relation | dx/sit x = —cot x, we can
Integrate the first term by parts, that is,

qu,/smz\p ~1pcot44+fcot¢d¢

R




42 Gravity methods

g (mGal)

_/" /
=T b ——T" | I | | |
~20 ~10

Figure 2.30. Gravity effect of a semiinfinite slab. t = 300 m, a = 90° except where
otherwise noted on the curves, p = 1 gm/cm’.

Figure 2.30 shows that so
B(cot, — cotyy) = B(AC/CP - BC/CP) (sin Y /sin ) = n/n
= B(AB/CP) Also,
— B(1/cos B) /(xcos ) |
— Br/( xcos? B) coty, = {(z,/cosB) + xsinB}/xcos B
- ; 2 3
s that we finally get = (z; + xsin Bcos B) /x cos* B Fll‘
g=2yo{(m/2+B)1+ xcos? B(F, — F)) (S:bs_tilzu;in‘;gleh;blig;ation (2.68) and noting that £ = ‘ ::f;
(268) ‘2740 v '
A (c) Tt
where g=ZYP{(ﬂ/2+B)t+(02-—B) dike i
. - two sl
F, =y, cot §, — In(sin ¢;) V=0, -8 X(z; + xsin feos ) : sp:czz
0,-=tan’l{(x/z,)+tan/3} —(6, — B)(z + xsinBcosB)
+xcos? BIn(n/n))

Equation (2.68) is sometimes given in another
form. From Figure 2.30 we have = 2YP{ (m1/2) + (2,0, - z6,)

x/siny, = n/sin(m/2 + B) = n/cosB - +x(8, — 6,)sin Beos B
x/sin y, = r,/cos B ' +xcos? Bn(r/n)} (2.69)
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Figure 2.30 shows curves for a semiinfinite slab.
The slope is quite sensitive to the depth of the slab
but not to the dip of the end.

(c) Thick two-dimensional dike. The result for the
dike in Figure 2.31 can be obtained by subtracting
two slabs, one being displaced horizontally with re-
spect to the other. The result is

8= 2wcos? B{x(F; ~ F) - (x - b)(E, - F))
(2.72)

using Equation (2.68). In terms of Equation (2.69),

When the sides of the dike arc vertical, 8 = 0 and

g= ZYP{ 2,(6, - b,) - 7(6, - 05)
+xIn(rn/rn) + bln(r4/r3)} (2.74)

If the dike outcrops. z) = 0, r, = x, ry=(x-0b),

6, = m/2 = 6;, and the result is

g =2v0[2,(6, — 8,) + sin Bcos B
X{x(0, ~ 6,) = b(n/2 - 4,))
+xcos’ Bin{ n(x ~ b) /r,x)}

+beos?’BIn{r/(x—b)}]  (2.75)

e d
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Figure 2.31. Gravity effect of a dike. Profiles are perpendicular to the dike. L = oo,
b=12=1/3 2z,= 4/3. 8 = 45° (solid line), 0° (dashed line).
. If the end of the slab is vertical, B =0 and this is
Equation (2.69) gives
8= ZYP[22(02 = 0) — z(6, - 6;)
g =2v0o{(7t/2) + (2,8, - z6,) +sin Bcos B{ x(6, - 6,)
—(x = b)(6, - 6,)}
+xIn(n/r)} (2.70) !
+cos? B{ x In(r/r,)
—-(x - b)l
If the slab outcrops, 2, =0, z, =1, 6, = n/2, (x = b)in(ra/n)}]
n = x and = 2v0[2,(6, - 6,) —z(6, - 63)
+sin Beos B{ x(6, + 6, - 6, — 6,)
§=2yp{(7t/2) + 6,1 + x(8, — 7/2)sin B cos B +b(6, - 6,)}
2
+xcos’ BIn(r/x)} (2.71) *eos® f{xIn(rn/n)
+b1In(ry/r)}] (2.73)

i

4;’.
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a faulted horizontal bed; t= 1,200 m, z = 150 m,

Figure 2.32. Gravity effect of

7, = 1,350m, z; = 600 m, z, = 1,800 m, a = 60°, and p = 1g/cn?. (From Geldart, Gill,

and Sharma, 1966.)

If the dike is also vertical, this reduces further to

g =2y[2,(8, - 6,) + xIn{ n(x - b)/nx}

+bin{n/(x - 5)}] (276)

An estimate of z,, the depth to the top of the
dike, is not very satisfactory in terms of x; ,,. When
z; = b, we find that z, = 0.67x, , when 2z, =2b,
and z; = 0.33x, , when 2, = 10b, that is, a factor
of 2 depending on the depth cxtent. In general, the
curves become sharper as both z; and z, get smaller.
Also, it is impossible to make a good estimate of the
width of the dike from the shape of the curve.

(d) Fault. The gravity effect of the fault shown in
Figure 2.32 can be obtained by adding the effects of:

(i) A near-surface semiinfinite slab.
(ii) A deeper infinite slab of the same thickness.
(iii) A semiinfinite slab of negative density contrast
to wipe out the part of the infinite slab under
the near-surface slab.

The result is

g =2vp[nt + xcos? B{(K - R) - (R - B)}]
(2.77)

A typical curve is shown in Figure 2.32 (note that the

constant term 2mypt has been omitted). Obviously
onc can extend Equation (2.77) to include a series of
horizontal beds at increasing depths.

2.7.7. Applying Simple Models to Actual
Anomalies

Most of the formulas for simple shapes are far from
easy to apply. Even when we can assume that a field
result can be matched by a specific geometry, it is
still tedious to plot profiles from expressions that
contain a number of geometrical unknowns in addi-
tion to the density contrast. Use of a collection of
characteristic curves reduces the labor involved.

We first establish some significant features associ-
ated with the profiles. Usually the number of param-
cters is reduced by measuring in terms of one of
them, preferably the one that influcnces the signifi-
cant features the least. Grant and West (1965, pp.
273-80) discussed how to construct curves for the
thin dipping sheet model. They concluded that sym-
metry and sharpncss are the most diagnostic fea-
tures, and thus they developed curves in terms of
ratios that depend principally on these properties.

2.7.8. Gravity Effects of Complex Shapes

The gravity effects of complex shapes are usually
calculated by subdividing the body into rectangular
cells, calculating the effect of each with a digital
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Section of two-
dimensional structure

/

S

Figure 2.33. Template for calculating the gravity effect of two-dimensional bodies of
irregular cross section. (From Hubbert, 1948).

Figure 2.34. Polygon approximation of an irregular vertical section of a two-dimen-

sional body.

computer, and then summing. This procedure is
sometimes carried out graphically using templates
superimposed on a cross section to divide it into
elementary areas, each of which contributes the same
effect at a surface station.

A template of this type is shown in Figure 2.33.
The gravity effect at the chart apex is

g~ K X 10~ Ngz mGal (2.78)

. where N is the number of segments covering the
Cross section, ¢ is the angular separation of radial
lines, 2 is the separation of horizontal lines, K = 23
for z in meters and 7.1 for z in feet.

L

When the structure is not really iwo dimensional,
the finite length can be taken into account by apply-
ing a correction. For a point in the plane of the cross
section of a finite structure at a distance r from the

section’s center of gravity, the correction is

1 1

2 izt 2 172

(1+r2/72) (1+r2/72)
(2.79)

where g is the actual gravity of the finite body, g,, is
the gravity for a body of the same cross section and
of infinite length, and Y,.Y, are the distances from
the cross section to the ends of the body.

Graphical methods have also been employed on
three-dimensional bodies by placing templates over

g 1
&n 2
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contours of the body in a horizontal plane. In effect,
the body is broken up into a stack of horizontal slabs
whose thickness is determined by the contour inter-
val. This approach is more difficult than the two-
dimensional procedure because the chart must have
a variable scale parameter to allow for different slab
depths.

One can calculate the gravity effect of a 2-D body
of arbitrary cross section by using an n-sided poly-
gon to approximate the outline of the vertical section
(Talwani, Worzel, and Landisman, 1959). A simple
section is illustrated in Figure 2.34. The gravity effect
of this section is equal to a linc integral around the
perimeter (Hubbert, 1948). The relation is

g= 27p¢z d0

From the geometry of Figure 234 we have the
following relations:

z=xtand = (x — a,)tan ¢,
or
z=(a;tanftan¢,)/(tan¢; — tan f)

The line integral for the side BC is

a,tanf tan ¢;
/ zd0=fc—'————¢—'d0=2i
BC B ta.nq),-—tan0

Thus,

n
g=2wLZ (2.80)

i=1

In the most general case, Z; is given by

Z, = a; sin §, cos ¢; l( 6, = 0:41)

cos §,(tan§, — tan ¢;)
cosf,,,(tan6;,, — tane;)
(2.81)

+ tan ¢; ~1n{

where

o % qf Em T E
6, = tan ‘(-L). ¢; = tan 1(——-——'
X Xig1 ~ X

a; = X;11 = Zi41 COLS;

Xy — X;
i+1 i
=‘xi+l+zi+1( _‘“'_)

Zi T Zjpy

Gravity methods

This technique has also been used for three-
dimensional bodies by replacing the contours in the
horizontal plane with n-sided polygons. The solu-
tion, from line integrals of the polygons, is essen-
tially a more complicated version of Equation (2.81).

2.7.9. The Direct and Inverse Problems
of Interpretation

The interpretation techniques outlined in previous
sections employ models with simplified shapes. Cal-
culating the effects of models is the direct or forward
approach to interpretation (the same procedure is
used in other geophysical methods). The initial selec-
tion of a reasonable model is made with the aid of
geological information and the experience of the
interpreter. Interpretation in terms of simple models,
a morc-or-less force-fit to the data. is commonly
used when data and control are incomplete. Detailed
analysis is complicated by the fact that model fits are
not unique. Ambiguity is well illustrated in the clas-
sic paper of Skeels (1947), who shows a gravity
profile that could be produced by a number of mass
distributions.

The inverse problem involves determining the ge-
ometry and physical properties of the source from
measurements of the anomaly, rather than simply
selecting a model and determining the parameters
that match the anomaly approximately. The inherent
nonuniqueness may make such a task appear to be a
waste of time: however, with additional constraints
and a computer, this type of analysis becomes in-
creasingly useful.

We outline here a typical least-squares procedure
for the inverse method. First, assume some mathe-
matical model based on prior knowledge of the
geology and/or of the geometry plus additional in-
formation gleaned from the general appearance of
profiles and contours. Next, limit the number of
parameters allowed to vary, for example, some sub-
set of strike, length, attitude, depth, and depth ex-
tent; this makes the inverse problem more tractable.
Next, lincarize the problem (because the mathemati-
cal model is often essentially nonlinear) to simplify
computations. Matrices (§A.2) are generally used.
The solution is obtained by using the model and a
given set of parameters to calculate simulated data
(called the model response), comparing the model
response with the values given by the observed data.
and then varying the parameters to fit the data more
closely. We illustrate this procedure as follows:

1. The model gives a relation between m parameters
p;. For cach set of values of p;, we get a model
response f(py. Py+ Pys-- s Pmh which has a value
fi(Pys P2s P3r- - s P) A each of the » data points.
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Three-dimensional

Hemisphere surface

anomalous mass

Figure 2.35. Calculation of excess mass.

We write

i=1,2,....n
(2.82)

€; =f.‘(P1sP2vP3v--"Pm) =&

where ¢, are the observed data that f; are in-
tended to match and ¢; are the errors between the
observed data and the model response. We begin
with an estimate of p;.

2. Because f(py, P3s P3.---s Pm) generally involves
nonlinear relations between the parameters,
we simplify calculations by using a first-order
Taylor-series expansion to get equations that are
linear with respect to the derivatives. Differenti-
ating Equation (2.82), we get

X.(81/3p,) 8p, =8¢,  (2.83a)
where each derivative is evaluated using the cur-

rent set of p, values. In matrix notation Equation
(2.83a) becomes

2P =& (2.83b)

where @ is an (n X m) matrix whose elements
are df,/dp;, & is an (m X 1) column matrix of
the sought-for parameter changes dp;. and &'is an
(n X 1) column matrix whose elements are 8e;.

- In the usual overdetermined case, n > m and @

is not square; we use Equation (A.5b) to solve
Equation (2.83b):

P =(979) '97¢ (2.84)

This solution is equivalent to » equations in the

m increments 8p;. Since n > m, we apply the
method of least squares (Sheriff and Geldart, 1983,
§10.1.5) to obtain the values of 8p;. The p; are
then replaced by p; + 8p; and the calculations are
repeated. Iteration is stopped when Le? is smaller
than some acceptable (prespecified) value.

Many modifications of the preceding procedure
exist, notably methods that stabilize the procedure.
If 2 is too large to be efficiently handled by the
computer, procedures such as steepest descent or
conjugate gradient methods, may be employed.
Marquardt (1963) employs an -adjustable damping
factor, whereas Jackson (1979) and Tarantola and
Valette (1982) introduce a priori information to con-
strain the problem (sec §3.8.2, example 3, for a
similar magnetic procedure). If the model is highly
nonlinear, these methods may not work well and
Monte Carlo methods may be appropriate.

2.7.10. Excess Mass

Although there is no unique solution to a set of
potential ficld data, it is possible to determine
uniquely the total anomalous mass, regardless of its
geometrical distribution. Sometimes this is a useful
calculation (although potentially dangerous) in esti-
mating ore tonnage in mineral exploration.

To find the excess mass, we start with Equation
(2.12). Dropping the minus sign, we have

fs g, ds = dmyM

We surround the mass by a hemisphere whose upper
face is the datum plane z = 0. The surfacc integral i
can be separated into two parts: the integral over the i

S o
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circular base in the xy plane and the surface of the
half-sphere. From Figure 2.35, we have

ff g, dxdy

z=0

+ [[ g,R? sin 6 db d = dmyM
H

fsg,.d9=

where g, in the integral over the datum plane z = 0
is the residual anomaly g(x, y) and R is the radius
of the hemisphere. We take R large enough that M
is in effect a point mass at the origin and g, =
yM /R? at the hemispherical surface. Integration over
this surface as ¢ goes from 0 to 2« and § from 7,/2
to = leads to the value 27 yM, so that

fw f°° g(x, _V) dxdy = 2'”'YM

— 00" —00

M=) [" 7 g(xp) dxdy (289

In practice, the integral is evaluated by numerical
integration using the relation

M=K)Y g(x.y)AxAy (2.86)

where m is in metric tons or short tons according as
K =263 for Ax,Ay in meters, or K =244 for
Ax,Ay in feet. The actual mass producing the
anomaly can be determined if we know its density p,
and density contrast Ap. This multiplies Equation
(2.86) by the factor (p,/Bp):

actual mass = (p,/Ap) X excess mass (2.87)

If the regional has not been properly removed, or if
other residual anomalies are included, the estimate
obviously will be in error.

2.7.11. Overburden Effects

In many field situations, the effects of variations in
the depth of the overburden may be larger than the
effects of different rocks at depth, and so variations
in overburden thickness can produce significant
gravity anomalies. The average density for an assort-
ment of overburden materials is about 1.92 g/cm?®
when wet and 1.55 g/cn’ when dry, and the aver-
ages for wet and dry sedimentary rocks are ~ 2.50
and ~ 2.20 g/cnt, respectively. Thus a contrast of
0.6 g/cn?’ is possible.

Gravity methods

As a rough estimate, we expect the overburden to
be thicker in valleys and low-lying flat land than on
steep hillsides and clevated plateaus. Abrupt changes
in overburden thickness, however, are common
enough. In any gravity survey, and particularly in
mineral exploration, it is worthwhile to consider the
extent to which gravity anomalies may be caused by
variations in overburden thickness.

From the Bouguer correction given in Equation
(2.23) and the effect of a semiinfinite horizontal slab,
we can get some idea of the magnitude of the over-
burden effect. The maximum gravity variation that
results from a sudden change Ah in overburden
thickness, where the density contrast is Ap, is given
by

Ag.. =419 %1072 8pAh
=128 X 1073 Ap AR’

(2.88a)
(2.88b)

where Ak is in meters, Ak’ is in feet, and Ag,,, isin
milligals.

The maximum horizontal gradient of gravity will,
of course, be large if overburden irregularity is the
source. For abrupt depth changes of 10 m or more in
a horizontal distance of 10 m and Ap = 0.6 g/car’, .
the value of (dg,,,,/dx) will be about 0.03 mGal/m.
In fact, this steep gradient is more diagnostic than
the magnitude of g,,,,. Clearly the depth of overbur-
den should be measured in areas of shallow gravity
anomalies. This is best done by small-scale refraction
or surface resistivity measurements.

2.7.12. Maximum-Depth Rules

Smith (1959) gives several formulas for maximum
depths of gravity distributions whose shapes are not
known, provided that the anomalous bodies have a
density contrast with the host rock that is either
entirely positive or entirely negative. If |g.,,] and
B8/ 8x) max| are the maximum values of gravity and
of the horizontal derivative, respectively, the depth §
to the upper surface has a limiting value given by [

2 2 0.86|gmuxl/|( 98/ )umae] (289§
If the anomaly is two dimensional, the factor 0.86
becomes 0.65 in Equation (2.89). However, this ex- g
pression is not particularly accurate.

2.8. FIELD EXAMPLES

(1) Figure 2.36a shows a Bouguer gravity contous
map compiled from a survey in the vicinity off§
Portland Creek Pond in northern Newfoundland
This was an exploration program for oil and gas i
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Figure 2.36. (Continued) (b} Density log in borehole DDH PCi-70. (c) Comparison
with calculated profile for a 2-D dipping prism.

an area of sedimentary rocks whose thickness, a few
miles south, is known to be over 5000 ft. The
topography is reasonably flat and no terrain correc-
tions were required.

It is evident that the large positive anomaly is not
a reflection of deep bascment structure because the

gradients are too steep. If we use Equation (2.68) to ¥
approximate a slab for profile A4’ in Figure 2.36a,

the values of g, and (9g/9x)y., indicate that i §
is not greater than 650800 ft. This indicates that the §

source is shallow and hence must be within the
sediments. One possibility is an intrusive dike of
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Figure 2.37. Gravity profiles over a

great linear extent, but Equation (2.74) shows that
the flanks of the anomaly in this case would be much
less steep than the field profile; this suggests that the
source is of limited depth.

A 1,600 ft drill hole was put down in the center of

this gravity anomaly; its location is shown in Figure
2.36a. Density measurements on core samples at 100
ft intervals are shown in Figure 2.36b. The local
presence of dolomite from near surface to 1,000 ft
and interbedded with dark shales from 1,000 to
1,600 ft accounts for the positive gravity. The aver-
age density of the dolomite samples was 2.82 g /cn?’.
If the surrounding sedimentary formations are as-
sumed to have a density of about 2.55 g/cnr, it is
possible to match the field profile reasonably well
with the dipping prism shown in Figure 2.36¢. This
analysis is oversimplified since the actual structure is
neither two dimensional (L = 9b) nor homogeneous
in the bottom 500 ft. Both factors would steepen the
b flanks on the profile.
8 (2) The profiles in Figure 2.37 illustrate the pro-
B nounced effect of overburden thickness on gravity
§ results. This is the Louvicourt Township copper de-
B Posit near Val d’Or, Quebec. Discovery was made by
drilling a weak Turam anomaly (§7.4.3b); the gravity
j survey was carried out immediately after.

The original Bouguer gravity profile indicated a
weak anomaly of 0.15 mGal directly over the con-
ductor and a much broader and larger magnitude
anomaly about 75 m to the north. Obviously the
small peak would not have aroused any great enthu-
Jsiasm. Later, when it had been established that the
overburden thickness increased appreciably immedi-

(2.68) to
re 2.36a}
ite that &

200 fu

copper deposit, Louvicourt, Quebec,

ately over the sulfide zone, it was possible to correct
for this variable thickness, as discussed in Section
2.7.11, using a density contrast of about 0.08 g/cn?®
between the host rock and the overburden. This is
cquivalent to 0.03 mGal/m of overburden thickness.
In the corrected field profile the larger anomaly to
the north has practically disappeared and the small
peak has been enhanced to 0.3 mGal. A third profile
calculated from density measurements of diamond
drill cores is also shown.

This example clearly indicates the importance of
measuring the overburden thickness in conjunction
with gravity applied to small-scale mineral explo-
ration. This is particularly necessary in surveys for
vein-type base-metal deposits that respond to EM
methods. The overburden effect would be less pro-
nounced in regions favorable for IP, that is, large-area
low-grade disseminated mineralization.

(3) The Delson fault is a well-documented struc-
tural feature in the St. Lawrence lowlands. Striking
roughly E-W, it is located east of the St. Lawrence
River several kilometers southeast of Montreal. Al-
though the area is generally covered by about 15 m
of overburden, there are exposures of Utica shales
and Chazy limestones in river beds to indicate the
location and direction of the fault, The sedimentary
beds of the lowlands are flat-lying shales, limestones,
and dolomites of Paleozoic age underlain by Precam-
brian basement rocks at a depth usually greater than
750 m.

Figure 2.38 shows a Bouguer gravity profile taken
across the Delson fault in a N-§ direction, together
with a geologic section. A linear regional trend of

o
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Figure 2.38. Gravity profile and geologic section across the Delson fault, St. Lawrence

lowlands.

0.45 mGal/km positive to the south, has been re-
moved.

The profile in Figure 2.38 resembles the gravity
effect of a horizontal slab rather than a fault (com-
pare with Figs. 2.28, 2.29, and 2.32). The only appre-
ciable gravity effect from the sedimentary beds would
be provided by the juxtaposition of the Chazy and
Utica formations near surface and the displaced
Potsdam layer (whose thickness is in some doubt) at
greater depth. The first pair produces a gravity pro-
file of the proper shape with a total variation of 0.57
mGal and maximum slope of 3.7 mGal/km; thus
the total anomaly is too small and the slope too large
to fit the field profile. The low-density Potsdam
section, on the other hand, would tend to reduce the
anomaly, since the bed nearer the surface lies on the
south side of the fault; the total effect, however, is
only about —0.1 mGal and maximum slope —0.15
mGal/km.

By postulating a density of 2.96 g/cn’ in the
Precambrian rocks and a step of 275 m on the fault
down to the south, we obtain a total anomaly of 2.1
mGal with maximum slope of 1.2 mGal/km. The
theoretical profile in Figure 2.38 is thc result.

The theoretical profile is shifted about 300 m
south of the mapped fault location. There are two
explanations for this. First, the Delson fault is not
vertical, but dips north about 80°. Sccond, faults
very rarely show single clear-cut faces, that is, there
is a faulted region of some width. The field profile
also shows a small anomaly about 2} miles north of

the Delson fault. although there is no supporting
geological evidence.

2.9. PROBLEMS

1. Verify Equation (2.8). [ Hint: Start with Equation
(2.6a), integrate along the y axis between the
limits + L, and subtract the potential at (x? +
22) = a? = 1 (this avoids U = c0 as L — o0).
By setting L = oo, we get Equation (2.8).]

. Show that Equation (2.12a) holds for an arbi-
trary closed surface S regardless of the position
of m within S. [ Hint: Write the integrand in the
form ym(ds cos 8/r?) = ymdSQ, where r is the
distance from m to ds, @ is the angle between r
and n, the outward-drawn normal to ds, and dg

N

is the element of solid angle subtended by ds at

m. Consider the case where r cuts S more than
once.]

3. Verify Equations (2.62) and (2.63). [Hint: A 3
solution of Equation (2.11c¢) is (Pipes and Harvill, §

1970, p. 348)
g(r,0)
00 =) :
= 2frw{ Yoart+ ) bnr""“’}P,.(u) '
n=0 ne=0

where g = cos@. When r >z > R, we usc the §
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Table 2.3.

- ime b Time 8obs Time Eobs
oin T(',:Tr‘) (n‘f"c;l) Stn (hr) (mGal) stn (hr) (mGal)

Aug. 31 quavgs 182.78 42 14:29 18295 3 15:07 184.48

0 53 1400 18277 4 14:31 183.06 EY) 1510 184.81
o 14:04 18273 40 14:35 18315 33 15:12 184.53
0 1407 182.92 0°39 14:37 18313 34 1514 184.33
19 14:10 183.05 25 1450 183.82 35 1516 184.17
8 1415 18319 % 14:52 183.97 36 15:19. 184.03
47 14:17 182.99 27 1455 183.99 37 15:22 183.73
pid 14:20 182,88 28 14:59 183.9 38 15:25 183.38
P 1422 182.89 29 15.01 184.25 0°39 15:27 183.35
4 1425 182.85 30 15:05 184.48 0°53 15:45 183.01
3 1427 182,91
Line 25

i 9:10 185.02 33 10:56 185.39 44 1144 18453

26983 9:20 185.11 34 1100 18539 45 11:47 184.56

55039 9:40 184.93 35 1105 185.52 46 11:52 184.64
2 1019 185.86 36 11:09 185.37 47 11:55 184.67
2 10:23 185.66 37 115 185.00 8 11:59 184.67
% 1027 185.65 38 11:20 184.86 49 1202 184.76
27 1031 185.66 25°39 11:25 184.86 50 12:05 184.76
28 10-34 185.59 40 11:29 184.79 51 12:08 184.80
29 10:38 185.47 " 1132 184.69 52 1212 184.90
30 10:41 185.51 42 11:35 184.67 25°53 126 185.09
3 1045 185.46 a3 1139 184.60 0°53 12:28 185.03
32 10:50 185.39

right-hand series and compare it with the expan-
sion of Equation (2.60) in terms of (R/z) [see
Eq. (A.43)] for points on the axis where . = 1,
P,(1) =1, and r = z; this gives the values of 5,
and we get Equation (2.62). Doing the same for
R>r>z and using the first series, we get
Equation (2.63). Since r > z on physical grounds,
there are, in fact, only two cases: » > R and
R > r, so Equation (2.62) holds for the third
case, r > R > z]

- The data in Table 2.3 were obtained over a 2 day

period of gravity followap on a base-metal
prospect. Stations marked ° were visited at least
twice for drift correction. For example, station
33, line 0, was occupied at the beginning and
end of each of the 2 days, station 53, line 28, at
the beginning and end of the second day’s work
and the stations 39 on both lines were used as
basc stations for checking drift at intermediate
times.

Draw a drift curve for the 2 day period and
correct all station readings. (Note that each of
the four stations 53 and 39 must have the same
gravity readings - or very nearly so- as a result
of the drift corrections.)

- The gravity data in Table 2.4 were obtained

f:luring a followup on a small sphalerite showing
In eastern Ontario. Reduce the gravity readings

by taking out the drift. free-air (including height
of instrument), Bouguer (assuming an average
density of 2.67 g/cnt), and latitude corrections
(lines are N-S). Plot the two profiles. Are there
any indications of a small high-grade (10-15%)
or larger low-grade (2-5%) sphalerite deposit?
Can you suggest any reason for the general
shape of the profiles?

- Show that the gravity anomaly produced by a

vertical cone at its apex is
Agnax = 27yph(1 — cos a)

where 4 is the vertical height and a hall the
apex angle of the cone. Hence show that the
terrain correction at the apex of a conical hill is

0g, = 2myph cos a

If h=1000 ft, « = 68°, and p = 2.67 g/co?,
with the aid of a template and Tablec 2.1 deter-
mine the terrain correction required at various
points on the sloping sides and on flat ground
surrounding the cone (obviously the correction is
the same at any particular elevation because of
symmetry). How close to the base can gravity
measurements be made without a significant ter-
rain effect?
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Table 2.4.
Stn Bobs Time H.l. Elev. Stn Bobs Time H.L Elev.
L 8w (mGal) (PM) {ft) (fY) L 8W {mGal) (PM) (f) (f)
°3S 37.04 2.20 1.42 0.00 1475 36.86 333 1.42 1.60
3425 36.82 2.30 1.25 3.69 1+ 50 36.88 337 1.58 1.84
3450 36.87 2.33 1.33 363 1+ 25 37.49 342 1.33 =581
3I+75 36.84 2.36 1.33 478 15 37.77 3.45 1.08 -9.68
45 36.80 2.40 133 5.85 0+75 38.00 3.49 1.10 -13.99
44+ 25 36.68 2.45 1.33 71 0+ 50 38.03 353 083 -14.93
4+ 50 36.63 2.48 1.50 8.26 0+ 25 38.07 3.59 0.83 —15.06
4+75 36.57 252 1.7 10.03 B.L. 38.03 402 1.7 -15.30
55 36.47 2.55 1.33 11.42 L 10w
5+ 25 36.56 2.57 1.25 10.19 B.L. 37.62 423 1.42 -3.06
5+ 50 36.67 3.00 133 891 15 3794 434 1.08 -7.41
5+75 36.67 3.04 1.33 8.2 25 37.60 4.38 1.23 -914
65 36.73 3.06 1.42 7.46 3S 37.55 4.40 1.42 -8.20
°38 37.06 313 1.33 0.00 4S 37.27 4.46 1.42 —-485
2+ 75 36.96 317 1.33 -0.76 55 37.45 4.50 117 1.04
2 + 50 36.74 323 1.42 1.18 65 453 1.42 —1.04
2425 36.89 3.28 1.25 1.23 L8W
25 36.86 330 1.42 1.39 °3S 3710 5.00 117 0.00

Note: L = line; B.L. = base line = 0 ft on each line; 35 = 300 ft south of base line, 3 + 75 = 375 ft south of base line,
and so on: H.I. = height of instrument (gravimeter) above the surface whose elevation is given. Lat. of B.L.= 46°25'N.

W 18W

o e o o & »

200 400 [

0

N
487 464
.

Figure 2.39. Topographic map for terrain correction.

7. The topographic map in Figurc 2.39 was pre-
pared in considerable detail to take out a terrain
correction for a gravity survey. Make a template
of appropriate scale for the first four or five
zones of Table 2.1 (zones B-F) and caiculate the
terrain correction at several stations, such as
(2N, 3W), (8N, 12W), (0. 9W), etc. Assuming that

the topography is reasonably flat in thc are
surrounding the section illustrated, how many
additional zones would be necessary to make 3
complete terrain correction?

In fact, there is a steep ridge to the northwest
striking southwest-northeast. At a distance d
about 2 miles from the center of the area th

-\
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elevations increase from 300 to 1,100 ft within
1/2 mile. There is also a lake, which is roughly 1
mile across and a maximum of 100 ft in depth,
situated about 2 miles to the northeast. To what
extent would these large topographic features
affect the overall terrain correction?

8. The reduced gravity readings (Bouguer) in Table

2.5 were obtained from an east-west traverse
with stations at 30 m intervals. An electromag-
netic survey carried our earlier had outlined a
conducting zone about 750 m long, striking
roughly north-south, with a maximum width of
50 m in the central part of the area. The gravity
work was done as an attempt to assess the
metallic content of the conductor. Four addi-
tional parallel gravity traverses, on lines adjacent
to line 81N, produced essentially similar results.
No information is available on the depth of
overburden. Plot the profile and make a qualita-
tive interpretation of the nature of the conduct-
ing zone based on the gravity survey.

9. The Bouguer gravity readings in Table 2.6 are

taken from a survey in the sedimentary Pine
Point area of the Northwest Territories. Station
spacing is 30 m on a N-~§ line.

Plot the profile and interpret the gravity
anomaly, assuming it to be approximately two
dimensional. Make two interpretations, assum-
ing first that (a) below is valid, then assuming
that (b) [but not (a)] is valid.

(2) A Turam survey has not located any conduc-
tors in the area, while soil geochemistry shows
minor lead and zinc.

(b) The gravity anomaly coincides with a strong
IP anomaly.

Attempt to match the gravity profile with a
simple geometrical cross section with particular
regard to its depth, depth extent, and width.

PR
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Table 2.5. Line 8N. "

£s s
Stn (mGal) Stn (mGal)
85E 1.35 93t 0.77
86 1.30 94 0.75
87 1.25 95 0.66
a8 1.22 % 0.55
89 1.20 97 0.51
%0 115 98 0.50
N 1.07 99 0.40
92 0.87
Table 2.6.

88 8s
Stn (mGal) Stn (mGCal)
8s 0.02 2N 062
7S 0.06 3N 0.79
6S 0.08 4N 082
5S 0.09 5N 0.82
4S 0.08 oN 0.67
3S 0.06 7N 0.33
28 001 8N 0.22
1S 0.04 9N 0.20
B.L. 0.19 10N 0.18
N 0.41 1IN 0.16
10. Residual gravity contours obtained from a sur-

vey over a base-metal area are shown in Figure
2.40. A regional trend of about 0.8 mGal /1,000
ft was removed to produce this map. A profile
along the south-north line has also been plotted.
The gravity anomaly is obviously caused by a
plug-type of structure of considerable positive
density contrast. Make an interpretation of the
source as precisely as possible with these data.

=20

|
3
g (mGal)

0 200 400 fu

Figure 2.40. Residual gravity contours and principal profile, northwest Quebec.; C.I. =

0.2 mGal. (After Seigel, 1957.)
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11.

12.

13.

Table 2.7 gives Bouguer gravity readings from a
survey made in the Bathurst area of northern
New Brunswick. Station spacing is 100 ft and
the line spacing is as noted. (L20N means 2,000
ft north of the base line.) Because of limited time
and money, only four lines were selected for a
followup of an earlier combined magnetic-elec-
trical-geochemical survey. (Although this type of
spot gravity work is used to some extent in
base-metal exploration, it has obvious limita-
tions.) There is a pronounced regional gradient,
positive to the east, but it is not uniform, being
stronger in the north lines and weakest on line
10N. Furthermore the large and irregular spac-
ing between the lines makes it difficult to plot
well-defined contours. On the other hand, if we
attempt to remove the gradients from each line
independently, it is not clear what background
level should be selected; becausc we are looking
for massive sulfides, the tendency is to overem-
phasize positive gravity arcas. No measurements
were made of overburden depth.

Try to remove the regional by graphical

smoothing and by gridding (more sophisticated
techniques are not warranted). Interpret any re-
maining residuals.
Additional data obtained in the gravity survey of
problem 4 are given in Table 2.8. Lines are
east—west, 200 m apart; stations are 50 m apart
with the larger numbers to the west. For some
reason the base line through Stn 0 was cut at an
angle of 20° east of true north, so that each
station on line 0 is displaced about 73 m east of
its equivalent on line 2S. Obviously there is a
small latitude correction, 2¢ being = 93°.

Using the data in problem 4 (corrected for
drift), apply the appropriate reductions to‘obtain
Bouguer gravity for all stations, using an average
density of 2.67 g/cn?® for the local formations
which consist of gneiss on the western portion
extending roughly to station 25 and ultrabasic
rocks to the east. There are frequent large out-
crops in the eastern region, while the gneiss is
covered by a fairly uniform thin overburden of
1-2 m. Plot the gravity profiles and make an
interpretation of the results.

Figure 2.41 shows Bouguer gravity values at 30

m intervals. The following methods of analysis

are suggested:

(i) Remove the regional by drawing contours
and graphical smoothing.

(ii) Remove the regional by gridding.

(iii) Calculate the second derivative.

(iv) Carry out downward continuation by any
method you know.

Compare the results achieved with the diffcrent

Gravity methods

methods and consider their relative advantages
and limitations. Interpret the residual anomaly
or anomalies, if any, and calculate the excess
mass. Is the section large enough to give reason-
able results?

Table 2.7. »

L20N L16N L10N L2N
Stn {mGal) (mGal) (mGal) {mGal)
4w 45.38 45.71 46.10 —
w 45.47 45.94 46.10 46.43
2W 45.68 4590 46.40 46.48
1w 4579 4597 46.22 46.60
BL 4591 4593 46.27 46.68
1E 46.09 46.14 46.31 47.00
2E 46.21 46.42 46.55 47.09
3E 46.08 46.40 46.72 47.00
4E 46.54 46.53 46.80 47.12
SE 46.62 46.75 46.66 47.50
oF 46,90 46.87 46.61 47.61
Table 2.8.

Line O Line 25

H.l. Elev. H.1. tlev.
Stn (m) (m) Stn (m) (m)
53 0.46 6.76 53 0.46 8.03
52 0.43 6.99 52 0.44 7.85
51 0.49 7.08 51 0.43 820
50 0.47 5.95 50 043 8.50
49 0.51 4.73 49 0.46 8.75
48 0.53 4.68 48 0.46 891
47 0.53 6.00 47 0.47 8.61
46 0.48 6.42 46 0.46 8.36
45 0.50 6.40 45 0.40 8.64
44 0.48 6.75 44 0.4 9.03
43 047 7.20 43 0.43 9.06
42 0.50 6.64 42 0.42 8.4
f 0.46 5.82 M 0.45 8.02
40 0.39 5.96 40 0.44 7.65
39 0.45 6.21 39 048 7.62

24 044 3.84

25 0.50 2.59 25 0.46 4.74
26 0.46 315 26 0.41 4.88
27 0.40 3.78 27 042 469
28 0.50 317 28 0.42 569
29 0.43 196 29 0.45 6.15
30 0.45 1.3 30 0.46 6.03
3N 0.40 2.22 3 0.42 6.51
32 0.43 0.00 32 0.42 7.01
33 0.42 1.04 33 0.45 6.89
34 0.48 1.5% 34 0.45 6.34
35 0.47 2.50 35 0.44 539
36 0.47 3.00 36 0.45 6.58
37 0.49 4.06 . 37 0.46 7.80
38 0.47 5.38 38 0.46 7.67
39 0.48 6.21 39 0.45 762
53 0.45 6.76 53 0.43 8.03
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14. A topographic section and Bouguer gravity pro-
file over a long east-west ridge are shown in
Figure 2.42. Without other information, is it
possible to answer the following questions with
assurance?

(a) Was a terrain correction taken out in reduc-
ing the gravity readings?

(b) Is a terrain correction necessary?

(c) Is the gravity profile essentially a reflection
of the topography?

(d) Is a regional gravity effect present that is
independent of the topography?

(e) Assuming there is a gravity anomaly caused
by a subsurface structure, can you locate it and
estimate its approximate section? (As an aid to
making this interpretation, it would be very
helpful to replot the gravity profile on an ex-
panded vertical scale.)

- Figure 2.43 is a Bouguer gravity contour map of
the area whose topography is shown in Figure

2.39. The geology is sedimentary, with sandstone
and limestone beds that are known to he over
5,000 ft thick a few miles to the west. Witain the

1000N 1500N

Figure 2.42. Bouguer gravity and topographic profiles, East Africa.

survey area the limestone-sandstone contact can
be seen at the bottom of the hill just west of the
base line. The limestone bed extends east from
this contact at surface and appears to be less
than 50 ft thick; because it does not continue
west under the hill, a fault is indicated. Under
normal circumstances, the sandstone would have
the lower density; but in this area, because the
limestone is thin and because there are un-
dreground streams flowing in it, the density con-
trast is probably insignificant and may even be
in the opposite sense.

Problem 7, with which Figure 2.39 is con-
nected, was an exercise in making terrain correc-
tions in rugged ground. Preparation of the map
in Figure 2.43 required more than 15 man-days
of work, most of it spent on terrain corrections
for about 400 gravity stations. The end result is a
gravity map that appears to be a fair reproduc-
tion of the topography.

Do the two maps, Figures 2.39 and 2.43,
resemble each other in spite of the elaborate
terrain correction or because of it? If the latter is
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17.
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Figure 2.43. Bouguer gravity contours, eastern Nova Scotia; C.l.= 0.1 mGal.

true, would this be a fundamental argument
against carrying out gravity surveys in regions
where the topography is highly irregular? On the
other hand, if the anomalous gravity is not due
to topography, how do you explain it?

The reduced gravity contours in Figure 2.44
show a portion of a large survey made over a
base-metal property in southern New Brunswick.
Remove the regional. Given that there are ore-
grade sulfides in the area, interpret the residual
and estimate the excess mass.

Figure 2.45 shows residual Bouguer gravity
across a three-dimensional structure of positive
density contrast in the St. Lawrence lowlands
east of Montreal. The contours are approxi-
mately circular. Drill logs from gas and oil ex-
ploration holes in the vicinity have indicated
flat-lying sedimentary beds to a depth of over
4,000 ft. The maximum density contrast among
the different sediments is not greater than 0.2
g/cnt and generally is closer to 0.1. Density of
the Precambrian basement rocks is not known,
but they are probably denser than the average
sediments by 0.25-0.30 g/cm.

To interpret this anomaly, first consider the
maximum gravity combined with the maximum
slope of the flanks, with respect to the known
depths and density contrasts in the area. This
will indicate an approximate depth to the source.
Then attempt to match the profile with a simple

./////}: ///9]1
4

&

200 400 ft
—

18.

shape, such as the sphere, rod, cylinder, and so
forth. (Note that it is possible to simulate a
pillbox-type of structure by taking the difference
between the gravity effects of two long cylinders
with their tops at different depths.)

On the portion of the Bouguer anomaly map
shown in Figure 2.46, the most negative values
are found in the lower left corner. (The numen-
cal values shown are with respect to an arbitrary
datum.)

(a) A large fault strikes N20°W just east of
AUS. Examine the shape of the fault anomaly
by drawing the profile A'4.

(b) For a simple fault model, the point where
the fault’s gravity expression is half its maximum
value locates the fault. What difficulties are en-
countered in the practical application of this
rule? Another rule is that the fault is located at
the inflection point on the fault profile. Locate
the fault on this profile by applying these rules. §
What does the asymmetry of the fault profile
indicate?

(c) The half-width rule states that the depth to
the midpoint on a fault is equal to the distance
between the points on the fault’s gravity profile,
where the fault’s gravity expression is § and }
(or 1 and 2) of its maximum expression. What
depth does this give for this fault? What diffi-
culties are encountered in the practical applica-
tion of this rule?
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Figure 2.44. Bouguer gravity contours, southern New Brunswick; C.I.= 0.1 mGal.
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Figure 2.45. Residual gravity profile over three-dimensional structure, St. Lawrence
lowlands.
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Figure 2.46. Bouguer gravity map, Western Australia; C.1.= 1.0 mGal. (Courtesy West
Australian Petroleum.)

(d) What is the magnitude of this fault in milli-
gals? Assume that a uniform density contrast
across the fault exists from the surface to twice
the depth given in part (c). How much density
contrast is implied?

19. On the Bouguer anomaly map of Figure 2.46,
the bow in the contours about 9 km NW of AUS
indicates a structure.

(a) Draw the profile B'B to separate this
anomaly from the fault anomaly examined in
problem 18. Where is the center of the anomaly?
(b) Draw a profile at right angles to B'B through
the center of the anomaly. Is the anomaly easier
to see on this profile? Are the residual anomalies
consistent with each other? What is the magni-
tude of the anomaly in milligals?

(c) Assume that the anomaly can be approxi-
mated by a buried spherical mass (see Fig. 2.23).
How deep must the center of the sphere be? If a
density contrast of 0.1 g/cn? is assumed, what
would be the radius of the sphere?

(d) The bow in the contours about 5 km SSW of
AUS might be interpreted as a similar anomaly.
What is unreliable about this anomaly?

Gravity methods

20. A grid residual is one way of isolating anomalies
from a regional background. Read the contour
values on a 2 km grid over the Bouguer anomaly
map of Figure 2.46. Assuming that the expected
value at each grid station is the average of the
four values, which are 2 km away, the residual is
the difference betwen the observed and the ex
pected values. Determine the residuals for all the
grid points and contour the resulting map. Note
how the fault studied in problem 18 and the
anomaly studied in problem 19 are emphasized
by this process.
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Chapter

3

Magnetic Methods

3.1. INTRODUCTION

3.1.1. General

Magnetic and gravity methods have much in com-
mon. but magnetics is generally more complex and
variations in the magnetic field are more erratic and
localized. This is partly due to the difference between
the dipolar magnetic ficld and the monopolar gravity
field, partly due to the variable direction of the
magnetic field, whereas the gravity field is always in
the vertical direction, and partly due to the time-
dependence of the magnetic field, whereas the grav-
ity field is time-invariant (ignoring small tidal varia-
tions). Whereas a gravity map usually is dominated
by regional effects, a magnetic map generally shows
a multitude of local anomalies. Magnetic measure-
ments are made more easily and cheaply than most
geophysical measurements and corrections are prac-’
tically unnecessary. Magnetic field variations are of-
ten diagnostic of mineral structures as well as re-
gional structures, and the magnetic method is the
most versatile of geophysical prospecting techniques.
However, like all potential methods, magnetic meth-
ods lack uniqueness of interpretation.

3.1.2. History of Magnetic Methods

The study of the earth’s magnetism is the oldest
branch of geophysics. It has been known for more
than three centuries that the Earth behaves as a large
and somewhat irregular magnet. Sir William Gilbert
(1540-1603) made the first scientific investigation of
terrestrial magnetism. He recorded in de Magnete
that knowledge of the north-secking property of a
magnetite splinter (a lodestone or leading stone) was
brought to Europe from China by Marco Polo.
Gilbert showed that the Earth’s magnetic field was
roughly equivalent to that of a permancnt magnet
lying in a general north—south direction near the
Earth’s rotational axis.

Karl Frederick Gauss made extensive studies of
the Earth’s magnetic field from about 1830 to 1842,
and most of his conclusions are still valid. He con-
cluded from mathematical analysis that the magnetic
field was entirely due to a source within the Earth,
rather than outside of it. and he noted a probable
connection to the Earth’s rotation becausc the axis
of the dipole that accounts for most of the field is
not far from the Earth’s rotational axis.

The terrestrial magnetic field has been studied
almost continuously since Gilbert's time, but it was
not until 1843 that von Wrede first used variations in
the field to locate deposits of magnetic ore. The
publication, in 1879, of The Examination of Iron Ore
Deposits by Magnetic Measurements by Thalén
marked the first use of the magnetic method.

Until the late 1940s, magnetic field measurements
mostly were made with a magnetic balance, which
measured one component of the earth’s field, usually
the vertical component. This limited measurcments
mainly to the land surface. The fluxgate magnetome-
ter was developed during World War 11 for detecting
submarines from an aircraft. After the war, the flux-
gatc magnetometer (and radar navigation, another
war development) made aeromagnetic measurements
possible. Proton-precession magnetometers, devel-
oped in the mid-1950s, arc very reliable and their
operation is simple and rapid. They are the most
commonly used instruments today. Optical-pump al-
kali-vapor magnetometers, which began to be used in
1962, are so accurate that instrumentation no longer
limits the accuracy of magnetic measurcments. How-
ever, proton-precession and optical-pump magne-
tometers measure only the magnitude, not the direc-
tion, of the magnetic ficld. Airborne gradiometet
measurements began in the late 1960s, although
ground measurements were made much earlier. The
gradiometer often consists of two magnetometers
vertically spaced 1 to 30 m apart. The difference in
readings not only gives the vertical gradient, but
also, to a large extent, removes the effects of tempo-
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field variations, which are often the limiting fac-
{or-0n accuracy. . '
six Digital recording and processing of magnetic d.ata
removed much of the tedium involved in re‘ducmg
measurements to magnetic maps. Interpretation al-
' goﬁthms now make it possible to produce cop]puter-
drﬁwn profiles showing possible distributions of
magnetization. S
The history of magnetic surveying is discussed by
Reford (1980) and the state of the art is discussed by
Paterson and Reeves (1985).

3.2, PRINCIPLES AND ELEMENTARY
THEORY

3.2.1. Classical versus Electromagnetic
Concepts

Mo&em and classical magnetic theory differ in basic
concepts. Classical magnetic theory is similar to elec-
trical and gravity theory; its basic concept is that
point magnetic poles are analogous to point electri-
cal charges and point masses, with a similar inverse-
square law for the forces betwceen the poles, charges,
or masses. Magnetic units in the centimeter-gram-
second and electromagnetic units (cgs and emu) sys-
tem are based on this concept. Systéme International
(SI) units are based on the fact that a magnetic field
is electrical in origin. Its basic unit is the dipole,
which is created by a circular electrical current,
rather than the fictitious isolated monopole of the
cgs—emu system. Both emu and SI units are in
E current use.

The cgs—emu system begins with the concept of
magnetic force F given by Coulomb’s law:

F=(pip/urt)n (3.1)

where F is the force on p,, in dynes, the poles of
g strength py and p, are r centimeters apart, p is the
R magnetic permeability [a property of the medium; see
R Eq. 3.7)]. and r; is a unit vector directed from )2
pump 28 towa'rd j 28 As in t‘hc electrical case (but unlike the
se used gravity case, in vyhlch the 'force is a}ways attractive),
n0 long e’{, the magnetostatic forcc. is attractive f.or poles of
s, Howj;? opposite sign and' repulsive for poles of hlfe sign. The
; magne;&' sign convention is that a posin‘ve. pole is attracted
the dirct toward thg Egrths north magnetic pole; the term
north-seeking is also used.

iometeld <
l:;&[gughéﬁ The magnetizing field H (also called magnetic

tlier. The® eld strength) is defined as the force on a unit pole:

H = F/p, = (p/ur?)r, (3.2)

of tempoffiWe€ Use a prime to indicate that H is in cgs—em
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Figure 3.1. Ampére’s law. A current | through a length of
conductor Al creates a magnetizing field AH at a point P;

AH = (1A1) X 1, /47r?

where AH is in amperes per meter when | is in amperes
and r and Al are in meters.

units); H' is measured in oersteds (cquivalent to
dynes per unit pole).

A magnetic dipole is envisioned as two poles. of
strength +p and —p separated by a distance 2/. The
magnetic dipole moment is defined as

m = 2lpr, (3.3)
m is a vector in the direction of the unit vector r,
that extends from the negative pole toward the posi-
tive pole.

A magnetic field is a consequence of the flow of
an electrical current. As expressed by Ampére’s law
(also called the Biot-Savart law), a current I in a
conductor of length A/ creates, at a point P (Fig.
3.1), a magnetizing field AH given by

AH = (1A1) X v, /47r? (3.9)
where H has the SI dimension amperes per meter
[=47 X 1073 ocrsted), » and A/ are in meters, I is
in amperes, and AH, r;, and I A/ have the directions
indicated in Figure 3.1.

A current flowing in a circular loop acts as a
magnetic dipole located at the center of the loop and
oricnted in the direction in which a right-handed
screw would advance if turned in the direction of the
current. Its dipole moment is mecasured in ampere-
meter? (= 10'° pole-cm). The orbital motions of
electrons around an atomic nucleus constitute circu-
lar currents and cause atoms to have magnetic mo-
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ments. Molecules also have spin, which gives them
magnetic moments.

A magnetizable body placed in an external mag-
netic field becomes magnetized by induction; the
magnetization is due to the reorientation of atoms
and molecules so that their spins line up. Thg mag-
netization is measured by the magnetic polarization
M (also called magnetization intensity or dipole mo-
ment per unit volume). The lineup of internal dipoles
produces a field M, which, within the body, is added
to the magnetizing field H. If M is constant and has
the same direction throughout, a body is said to be
uniformly magnetized. The SI unit for magnetization
is ampere-meter? per meter’ [= ampere per meter
(A/m))

For low magnetic fields, M is proportional to H
and is in the direction of H. The degree to which a
body is magnetized is determined by its magnetic
susceptibility k, which is defined by

M = kH (3.5)

Magpnetic susceptibility in emu differs from that in SI
units by the factor 4, that is,

kSI = 4ak!

emu (3'6)
Susceptibility is the fundamental rock parameter in
magnetic prospecting. The magnetic response of
rocks and minerals is determined by the amounts
and susceptibilities of magnetic materials in them.
The susceptibilities of various materials are listed in
Table 3.1, Section 3.3.7.

The magnetic induction B is the total field, includ-
ing the effect of magnetization. It can be written

B =po(H+ M) =po(1+k)H = ppH (372)
B = H + 47M' = (1 + 47k)H = yH'  (3.7b)

when H and M (H’ and M) are in the same direc-
tion, as is usually the case. The SI unit for B is the
tesla = 1 newton/ampere-meter = 1 weber/meter?
(Wb/m?). The electromagnetic unit for B' is the
gauss [= 10"* tesla (T)). The permeability of frec
space po has the value 47 X 1077 Wb/A-m. In
vacuum g =1 and in air p = 1. Confusion some-
times results between H' and B’ because the em units
gauss and oersted are numerically equal and dimen-
sionally the same, although conceptually different;
both H' and B’ are somectimes called the “magnetic
ficld strength.” In magnetic prospecting, we measure
B to about 10~ of the Earth’s main field (which is
about 50 uT). The unit of magnetic induction gener-
ally used for geophysical work is the nanotesla (also

Magnetic methods

B s

Initial magnetization
curve

< ¢ H

Or = Or’ = Residual magnetism
Oc = O¢' = Coercive force

5

Figure 3.2. Hysteresis loop. s, s" = saturation, r and r' =
remanent magnetism, ¢ and ¢' = coercive force.

called the gamma, y):
ly=10"°T=1nT

There is often confusion as to whether the quan-
tity involved in magnetic exploration is B or H
Although we measure B,, we are interested in the
Earth’s field H,. However, because B and H are
linearly related [Eq. (3.7)] and usually g = 1, we can
(and do) treat a map of B, as if it were a map of H,.

We also speak of magnetic flux or magnetic lines

of force ¢:

¢=B- A (38)
where A is a vector area (§A.3.2). Thus [B| = ¢/)A|
when A and B are parallel, that is, B is the density of
magnctic flux. The ST unit for magnetic flux is the
weber (= T-n?) and the em unit is the maxwell
(=10"% Wh).

3.2.2. B-H Relations: The Hysteresis Loop

The relation between B and H can be complex in
ferromagnetic materials (§3.3.5). This is illustrated
by hysteresis (Fig. 3.2) in a cycle of magnctization. If
a demagnetized sample is subjected 1o an increasing
magnetizing field H, we obtain the first portion of
the curve in which B increases with H until it flattens
off as wc approach the maximum value that B cap
have for the sample (saturation). When H is d¢
creased, the curve does not retrace the same patlk
but it does show a positive value of B when H = (i,
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this is called residual (remanent) magnetism. When
H is reversed, B finally becomes zero at some nega-
tive value of H known as the coercive force. The
other half of the hysteresis loop is obtained by
making H still more negative until reverse saturation
is reached and then returning H to the original
positive saturation value. The area inside the curve
represents the energy loss per cycle per unit volume
as a result of hysteresis (see Kip, 1962, pp. 235-7).
Residual effects in magnetic materials will be dis-

setization
e

H cussed in more detail in Section 3.36. In some
. magnetic materials, B may be quite large as a result
magnetism of previous magnetization having no relation to the
force
present value of H.
. . a
3.2.3. Magnetostatic Potential for a K =
Dipole Field RPN
Conceptually the magnetic scalar potential A at th
point ; is t)l;e work %one on a unll?t positive p?)]e ix‘: Figure 3.3. Calculating the field of a magnetic dipole.
ind ' = E  bringing it from infinity by any path against a mag- ‘
netic field F(r) [compare Eq. (2.4)]. (Henceforth in lar component is £ = — 34 /r36; these are
this chapter F, F indicate magnetic field rather than
force and we assume g = 1.) When F(r) is due to a Fe_ r+lcosd
positive pole at a distance r from P, g (P + 1% + 21l cos 8)™
r—1Icosf } (3.122)
1e quan- § r - 12a
3 o BE A(ry=~[ F(r)-de=p/r  (39) (r*+ 1> = 21l cos8)”
= -0
d in the f :
; /sind
1 H areg ' F=p )
.wecan{ However, since a magnetic pole cannot exist, we (r*+1* + 2rlcos 0)
pof H,f consider a magnetic dipole to get a realistic entity. .
etic linesf; Referring to Figure 3.3, we calculate 4 at an external /sinf
E ot + 73 (3.12b)
¢ pomt: (r*+ 1% = 2ricos 8)
(38} .
‘. pp When r > [/, Equation (3.10) becomes
lensity ofl non A = |mfcos 6 /r? (313)
ax is the! . )
maxwell | - 1 where m is the dipole moment of magnitude m = 2/p.
£ (P2 + % - 2Ir cos 0)1/2 Equations (3.11) and (3.13) give [§A.4 and Equation
8 (A33)]
7 1
oop » - (3.10 F = (m/r’)(2cosfr, + sin00,) (3.14a)
mplex inE (r* + 1% + 2lrcos 0)1/2} )
llustratedE where unit vectors r, and 6, arc in the direction of
zation. 1§ . increasing r and 6 (counterclockwise in Fig. 3.3).
ncreasing We can derive the vector F by taking the gradient of The resultant magnitude is
- &4 [Eq (A17)):
ortion Ol
it flattens F=IFl=(m/r*)(1 + 3cos?0)' (3.14b)
at B caip F(r) = —vA(r) (3.11) o
H is deg and the direction with respect to the dipole axis is
ime pal

n H = 0 Its radial component is F = —3A/3r and its angu- tana = Fy/F, = (1/2)tan ¢ (3.14c)
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Figure 3.4. General magnetic anomaly.

Two special cases, 8 = 0 and #/2 in Equation
(3.12), are called the Gauss-A (end-on) and Gauss-B
(side-on) positions. From Equations (3.12) they are
given by

FE=2mr/(r*-1})° F=0 6=0
(3.15a)
E=0 FE=m/rt+1)" §=n/2
(3.15b)
If r > [, these simplify to
E=2m/r §=0
P = am/r (3.15¢)
E=m/r 0=m/2

3.2.4. The General Magnetic Anomaly

A volume of magnetic material can be considered as
an assortment of magnetic dipoles that results from
the magnetic moments of individual atoms and
dipoles. Whether they initially are aligned so that a
body exhibits residual magnetism depends on its
previous magnetic history. They will, however, be
aligned by induction in the presence of a magnetiz-
ing field. In any case, we may regard the body as a
continuous distribution of dipoles resulting in a vec-
tor dipole moment per unit volume, M, of magnitude
M. The scalar potential at P [see Fig. 3.3 and Eq.
(3.13)] some distance away from a dipole M (r > [)
is

A= M(r)cos8/r* = —=M(r) - v(1/r) (3.16)

The potential for the whole body at a point outside

the body (Fig. 3.4) is

A= —fVM(r) -v( ) dv  (317)

fro — 1|

The resultant magnetic field can be obtained by
employing Equation (3.11) with Equation (3.17). This
gives

F(r,) = VfVM(r) -v( ) dv (318)

fro — 1l

If M is a constant vector with direction & = i +
mj + nk, then the operation

M VR P A
g = M— = 4+ om— —
V=M ax Moy T ez

(3.19)

[Eq. (A.18)] and

a dv
a=-mM—
daJy\ [rg — 7|

The magnetic field in Equation (3.20) exists in the
presence of the Earth’s field F,, that is, the total ficld
F is given by

(3.20)

F=F, + F(n)

where the directions of F, and F(ry) are not necessar-
ily the same. If F(7,) is much smaller than F, or if the
body has no residual magnetism, F and F, will be in
approximately the same dircction. Where F(z,) is an
appreciable fraction (say, 25% or more) of F, and
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has a different direction, the component of F(r,) in
the direction of F,, F;,, becomes [Eq. (3.20)]

Fym—tfgam Ay O
D~ 1 vA = af_ aaaffylro_rl

(3.21a)

where f, is a unit vector in the direction of F,
(83.3.2a). If the magnetization is mainly induced by
F,, then

”? ? .

= M— =kF— [ —
Polro) = Mo f el e
(3.21b)

The magnetic interpretation problem is clearly more
complex than the gravity problem because of the
dipolar field (compare §2.2.3).

The magnetic potential A, like the gravitational
potential U, satisfies Laplace’s and Poisson’s equa-
tions. Following the method used to derive Equa-
tions (2.12) and (2.13), we get

vV -F=-vY =4dmup

p is the net positive pole strength per unit volume at
a point. We recall that a field F produces a partial
reorientation along the field direction of the previ-
ously randomly oriented clementary dipoles. This
causes, in effect, a separation of positive and nega-
tive poles. For example, the x component of F
separates pole strengths + ¢ and — g by a distance ¢
along the x axis and causes a net positive pole
strength (g¥) dydz = M, dydz to enter the rear
face in Figure A2a. Because the pole strength
leaving through the opposite face is (M, +
(M, /dx) dx} dy dz, the net positive pole strength
per unit volume ( p) created at a point by the field F
is =¥ « M. Thus,

VU =4muy - M(r) (3.22)
In a nonmagnetic medium, M = 0 and
vi4=0 (3.23)

3.2.5. Poisson’s Relation

If we have an infinitesimal unit volume with mag-

Detic moment M = M, and density p, then at a

distant point we have, from Equation (3.16),
A=-M-v(1/r) = -Mv(1/r) o (3.24)

From Equations (2.3a), (2.5). and (A.18), the compo-

.
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nent of g in the direction o, is
g = —dU/da= —VU-o = —ypv(l/r) - o
(3.25)

Thus,

=(M/w)zg, (3.26)

If we apply this result to an extended body, we
must sum contributions for each element of volume.
Provided that M and p do not change throughout
the body, the potentials 4 and U will be those for
the extended body. Therefore, Equations (3.24) to
(3.26) are valid for an extended body with constant
density and uniform magnetization.

In terms of fields,

F=-v4d=~(M/yp)vg,
=(M/vw)V(VU - &)

=(M/yo) VU, (3.27a)
where U, = dU/da. For a component of F in the
direction B,, this becomes

Fy = (M/vo) Uy (3.27b)

In particular, if M is vertical, the vertical component
of Fis

Z=(M/)U, = (M/yp)(dg./dz) (3.28)

These relations are used to make pseudogravity maps
from magnetic data.

3.3. MAGNETISM OF THE EARTH

3.3.1. Nature of the Geomagnetic Field

As far as exploration geophyics is concerned, the
geomagnetic field of the Earth is composed of three
parts:

1. The main field, which varies relatively slowly and
is of internal origin.

2. A small field (compared to the main ficld), which
varies rather rapidly and originates outside the
Earth.

3. Spatial variations of the main field, which are
usually smaller than the main field, are nearly
constant in time and place, and are caused by
local magnetic anomalies in the near-surface crust
of the Earth. These are the targets in magnetic
prospecting.
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Figure 3.5. Elements of the Earth’s magnetic field.

3.3.2. The Main Field

(a) The Earth’s magnetic field. If an unmagnetized
steel needle could be hung at its center of gravity, so
that it is free to orient itself in any direction, and if
other magnetic fields are absent, it would assume the
direction of the Earth’s total magnetic field, a direc-
tion that is usually neither horizontal nor in-line with
the geographic menidian. The magnitude of this field,
F,, the inclination (or dip) of the needle from the
horizontal, I, and the angle it makes with geographic
north (the declination), D, completely define the
main magnetic field.

The magnetic elements (Whitham, 1960) are illus-
trated in Figure 3.5. The field can also be described
in terms of the vertical component, Z,, reckoned
positive downward, and the horizontal component,
H,, which is always positive. X, and Y, are the
components of H,, which are considered positive to
the north and east, respectively. These elements are
related as follows:

FP=H2+Z2=X'+Y*+ 22
H,=Fcosl Z =F,sinl
X, = H,cos D Y,=H,sin D
) (3.29)
tanD = Y,/X, tanl=Z/H,
F, = Ff, = F,(cos Dcos Ii
+sin D cos Ij + sin 7k)

As stated earlier, the end of the needle that dips
downward in northern latitudes is the north-seeking
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or positive pole; the end that dips downward in
southern latitudes is the south-seeking or negative
pole.

Maps showing lines of equal declination, inclina-
tion, horizontal intensity, and so on, are called iso-
magnetic maps (Fig. 3.6). [Isogonic. isoclinic, and
isodynamic maps show, respectively, lines of equal
declination D, inclination /, and equal values of F,,
H,.or Z,. Note that the inclination is large (that is,
Z,> H,) for most of the Earth’s land masses, and
hence corrections do not have to be made for lati-
tude variations of F, or Z, (= 4 nT/km) except for
surveys covering extensive areas. The overall mag-
netic field does not reflect variations in surface geol-
ogy, such as mountain ranges, mid-ocean ridges or
earthquake belts, so the source of the main field lics
deep within the Earth. The geomagnetic ficld resem-
bles that of a dipole whose north and south magnetic
poles are located approximately at 75°N, 101°W and
69°S,145°E. The dipole is displaced about 300 km
from the Earth’s center toward Indonesia and is
inclined some 11.5° to the Earth’s axis. However, the
geomagnetic ficld is more complicated than the field
of a simple dipole. The points where a dip needlc is
vertical, the dip poles, are at 75°N,101°W and
67°S.143°E.

The magnitudes of F, at the north and south
magnetic poles are 60 and 70 uT, respectively. The
minimum value, ~ 25 T, occurs in southern Brazil
—South Atlantic. In a few locations, F, is larger
than 300 pT because of near-surface magnetic fea-
tures. The line of zero inclination (magnetic equator,
where Z = 0) is never more than 15° from the
Earth’s equator. The largest deviations are in South
America and the eastern Pacific. In Africa and Asia
it is slightly north of the equator.

(b) Origin of the main field. Spherical harmonic
analysis of the observed magnetic field shows that
over 99% is due to sources inside the Earth. The
present theory is that the main field is caused by
convection currents of conducting material circulat-
ing in the liquid outer core (which extends from
depths of 2,800 to 5,000 km). The Earth’s core is
assumed to be a mixture of iron and nickel, both
good electrical conductors. The magnetic source is
thought to be a self-excited dynamo in which highly [
conductive fluid moves in a complex manner caused §
by convection. Paleomagnctic data show that the B
magnetic field has always been roughly along the

Earth’s spin axis, implying that the convective mo- §
tion is coupled to the Earth's spin. Recent explo-
ration of the magnetic fields of other planets and
their satellites provide fascinating comparisons with §
the Earth’s field. )
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(c) Secular variations of the main field. Four hun-
dred years of continuous study of the Earth’s field
has established that it changes- slowly. The inclina-
tion has changed some 10° (75° to 65°) and the
declination about 35° (10°E to 25°W and back to
10°W) during this period. The source of this wander-
ing is thought to be changes in convection currents
in the core.

The Earth’s magnetic field has also reversed direc-
tion a number of times. The times of many of the
periodic field reversals have been ascertained and
provide a magnetochronographic time scale.

3.3.3. The External Magnetic Field

Most of the remaining small portion of the geomag-
netic field appears to be associated with electric
currents in the ionized layers of the upper atmo-
sphere. Time variations of this portion are much
more rapid than for the main “permanent” field.
Some effects are:

1. A cycle of 11 years duration that correlates with
sunspot activity.

2. Solar diurnal variations with a period of 24 h and
a range of 30 nT that vary with latitude and
season, and are probably controlled by action of
the solar wind on ionospheric currents.

3. Lunar variations with a 25 h period and an am-
plitude 2 nT that vary cyclically throughout
the month and seem to be associated with a
Moon-ionosphere interaction.

4. Magnetic storms that are transient disturbances
with amplitudes up to 1,000 nT at most latitudes
and even larger in polar regions, where they are
associated with aurora. Although erratic, they of-
ten occur at 27 day intervals and correlate with
sunspot activity. At the height of a magnetic
storm (which may last for several days), long-range
radio reception is affected and magnetic prospect-
ing may be impractical.

These time and space variations of the Earth’s
main field do not significantly affect magnetic
prospecting except for the occasional magnetic storm.
Diurnal variations can be corrected for by use of a
base-station magnetometer. Latitude variations (= 4
nT/km) require corrections only for high-resolution,
high-latitude, or large-scale surveys.

3.3.4. Local Magnetic Anomalies

Local changes in the main field result from varia-
tions in the magnetic mineral content of near-surface
rocks. These anomalies occasionally are large enough
to double the main field. They usually do not persist
over great distances; thus magnetic maps generally
do not exhibit large-scale regional features (although
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the Canadian Shield, for example, shows a magnetic
contrast to the Western Plains). Many large, erratic
variations often make magnetic maps extremely
complex. The sources of local magnetic anomalies
cannot be very deep, becausc temperatures below
~ 40 km should be above the Curie point, the tem-
perature (= 550°C) at which rocks lose their mag-
netic properties. Thus, local anomalies must be asso-
ciated with features in the upper crust.

3.3.5. Magnetism of Rocks and Minerals

Magneﬁc anomalies are caused by magnetic minerals
(mainly magnetite and pyrrhotite) contained in the
rocks. Magnetically important minerals are surpris-
ingly few in number.

Substances can be divided on the basis of their
behavior when placed in an external field. A sub-
stance is diamagnetic if its field is dominated by
atoms with orbital electrons oriented to oppose the
external field, that is, if it exhibits negative suscepti-
bility. Diamagnetism will prevail only if the net
magnetic moment of all atoms is zero when H is
zero, a situation characteristic of atoms with com-
pletely filled electron shells. The most common dia-
magnetic earth materials are graphite, marble, quartz,
and salt. When the magnetic moment is not zero
when H is zero, the susceptibility is positive and the
substance is paramagnetic. The effects of diamag-
netism and most paramagnetism are weak.

Certain paramagnetic elements, namely iron,
cobalt, and nickel, have such strong magnetic inter-
action that thc moments align within fairly large

regions called domains. This effect is called ferro-

magnetism and it is ~ 10° times the effects of
diamagnetism and paramagnetism. Ferromagnetism
decreases with increasing temperature and disap-
pears entirely at the Curie temperature. Apparently
ferromagnetic minerals do not exist in nature.

The domains in some materials are subdivided
into subdomains that align in opposite directions so
that their moments nearly cancel; although they
would otherwise be considered ferromagnetic, the
susceptibility is comparatively low. Such a substance
is antiferromagnetic. The only common example is
hematite.

In some materials, the magnetic subdomains align
in opposition but their net moment is not zero. either
because one set of subdomains has a stronger mag-
netic alignment than the other or because there ar
more subdomains of one type than of the other
These substances are ferrimagnetic. Examples of the
first type are magnetite and titanomagnetite, oxides
of iron and of iron and titanium. Pyrrhotite is 2
magnetic mineral of the second type. Practically all
magnetic minerals are ferrimagnetic.
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3.3.6. Remanent Magnetism

In many cases, the magnetization of rocks depends
mainly on the present geomagnetic field and the
magnetic mineral content. Residual magnetism
(called natural remanent magnetization, NRM) often
contributes to the total magnetization, both in ampli-
tude and direction. The effect is complicated because
NRM depends on the magnetic history of the rock.
Natural remanent magnetization may be due to sev-
eral causes. The principal ones are:

1. Thermoremanent magnetization (TRM), which re-
sults when magnetic material is cooled below the
Curie point in the presence of an external ficld
(usually the Earth’s field). Its direction depends
on the direction of the field at the time and place
where the rock cooled. Remanence acquired in
this fashion is particularly stable. This is the main
mechanism for the residual magnetization of ig-
neous rocks.

Detrital magnetization (DRM), which occurs dur-

ing the slow settling of fine-grained particles in

the presence of an external field. Varied clays
exhibit this type of remanence.

Chemical remanent magnetization (CRM), which

takes place when magnetic grains increase in size

or are changed from one form to another as a

result of chemical action at moderate tempera-

tures, that is, below the Curie point. This process
may be significant in sedimentary and metamor-
phic rocks.

4. Isothermal remanent magnetization (IRM), which
is the residual left following the removal of an
external field (see Fig. 3.2). Lightning strikes pro-
duce IRM over very small areas.

5. Viscous remanent magnetization (VRM), which is
produced by long exposure to an external field;
the buildup of remanence is a logarithmic func-
tion of time. VRM is probably more characteristic
of fine-grained than coarse-grained rocks. This
remanence is quite stable.

L

w

Studies of the magnetic history of the Farth
(paleomagnetism) indicate that the Earth’s field has
varied in magnitude and has reversed its polarity a
number of times (Strangway, 1970). Furthermore, it
appears that the reversals took place rapidly in geo-
logic time, because there is no evidence that the
Earth existed without a magnetic field for any signif-
icant period. Model studies of a self-excited dynamo
show such a rapid turnover. Many rocks have rema-
lent magnetism that is oriented neither in the direc-
tion of, nor opposite to, the present Earth field. Such
results support the plate tectonics theory. Paleomag-
Detism helps age-date rocks and determine past
Mmovements. such as plate rotations. Paleomagnetic
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laboratory methods separate residual from induced
magnetization, something that cannot be done in the
field.

3.3.7. Magnetic Susceptibilities of Rocks
and Minerals

Magnetic susceptibility is the significant variable in
magnetics. It plays the same role as density does in
gravity interpretation. Although instruments are
available for measuring susceptibility in the field,
they can only be used on outcrops or on rock sam-
ples, and such measurements do not necessarily give
the bulk susceptibility of the formation.

From Figure 3.2, it is obvious that k (hence p
also) is not constant for a magnetic substance; as H
increases, k increases rapidly at first, reaches a maxi-
mum, and then decreases to zero. Furthermore, al-
though magnetization curves have the same general
shape, the value of H for saturation varies greatly
with the type of magnetic mineral. Thus it is impor-
tant in making susceptibility determinations to use a
value of H about the same as that of the Earth’s
field.

Since the ferrimagnetic minerals, particularly
magnetite, are the main source of local magnetic
anomalies, there have been numerous attempts to
establish a quantitative relation between rock sus-
ceptibility and Fe;O, concentration. A rough linear
dependence (k ranging from 1072 to 1 SI unit as the
volume percent of Fe,O, increases from 0.05% to
35%) is shown in one report, but the scatter is large,
and results from other arcas differ.

Table 3.1 lists magnetic susceptibilities for a vari-
ety of rocks. Although there is great variation, even
for a particular rock, and wide overlap between
different types, sedimentary rocks have the lowest
average susceptibility and basic igneous rocks have
the highest. In every case, the susceptibility depends
only on the amount of ferrimagnetic minerals pre-
sent, mainly magnetite, sometimes titano-magnetite
or pyrrhotite. The values of chalcopyrite and pyrite
are typical of many sulfide minerals that are basi-
cally nonmagnetic. It is possible to locate minerals of
negative susceptibility, although the negative values
arc very small, by means of detailed magnetic sur-
veys. It is also worth noting that many iron minerals
are only slightly magnetic.

3.3.8. Magnetic Susceptibility
Measurements

(a) Measurement of k. Most measurements of k
involve a comparison of the sample with a standard.
The simplest laboratory method is to compare the
deflection produced on a tangent magnetometer by a
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Table 3.1. Magnetic susceptibiliies of various rocks and minerals.

Susceptibility X 10% (SI)

Type Range Average
Sedimentary
Dolomite 0-09 0.1
Limestones 0-3 03
Sandstones 0-20 0.4
Shales 0.01-15 0.6
Av. 48 sedimentary 0-18 09
Metamorphic ¥
Amphibolite 0.7
Schist 03-3 14
Phyllite 1.5
Gneiss 01-25
Quartzite 4
Serpentine 3-17
Slate 0-35 6
Av. 61 metamorphic 0-70 4.2
Igneous
Granite 0-50 25
Rhyolite 0.2-35
Dolorite 1-35 17
Augite-syenite 30-40
Olivine-diabase 25
Diabase 1-160 55
Porphyry 0.3-200 60
Gabbro 1-90 70
Basalts 0.2-175 70
Diorite 06-120 85
Pyroxenite 125
Peridotite 90-200 150
Andesite 160
Av. acidic igneous 0-80 8
Av. basic igneous 05-97 25
Minerals
Graphite 0.1
Quartz -0.01
Rock salt —-0.01
Anhydrite, gypsum -0.01
Calcite -0.001- - 0.01
Coal 0.02
Clays 0.2 ) ,gg
Chaicopyrite 04 ‘ sures‘:
Sphalerite 07 : fields:
Cassiterite 09 over
Siderite 1-4 ) assem
Pyrite 005-5 1.5 i e
Limonite 2.5 systen
Arsenopyrite 3 2 An
Hematite 05-35 6.5 ; ual cc
Chromite 3-110 7 3 rock s
Franklinite 430 ] pickup
Pyrrhotite 1~6000 1500 . nating)
llmenite 300- 3500 1800 . oung
Magnetite 1200 - 19200 6000 sity oft

signal

momef
about ¢

Cry{
axes r¢
(ZimmJ

)




nethods

eld instruments for magnetic measurements

prepared sample (either a drill core or powdered
rock in a tube) with that of a standard sample of
magnetic material (often FeCl; powder in a t.est
tube) when the sample is in the Gauss-A position
[Eq. (3.15a)]. The susceptibility of the sample is
found from the ratio of deflections:

k.v = k.ml d.v/ d.ml

d, and d,,, arc the deflections for the sample and
standard, respectively. The samples must be of the
same Size.

A similar comparison method employs an induc-
tance bridge (Hague, 1957) having several air-gore
coils of different cross sections to accommodate sam-
ples of different sizes. The sample is inserted into
one of the coils and the bridge balance condition is
compared with the bridge balance obtained when a
standard sample is in the coil. The bridge may be
calibrated to give susceptibility directly, in which
case the sample need not have a particular gcometry
(although the calibration may not be valid for sam-
ples of highly irregular shape). This type of instru-
ment with a large diameter coil is used in field
measurements on outcrop. The bridge is balanced
first with the coil remote from the outcrop and then
lying on it. A calibration curve obtained with a
standard relates k& and the change in inductance.

(b) Measurement of remanent magnetism. Mea-
surement of remanent susceptibilty is considerably
more complicated than that of k. One method uses
an astatic magnetometer, which consists of two mag-
nets of equal moment that are rigidly mounted paral-
lel to each other in the same horizontal plane with
opposing poles. The magnetic system is suspended
by a torsion fiber. The specimen is placed in various

§ orientations below the astatic system and the angular

deflections are measured. This device, in effect, mea-
sures the magnetic field gradient, so that extrancous

B fields must either be eliminated or made uniform
B over the region of the sample. Usually the entire .
g assembly is mounted inside a three-component coil
¥ system that cancels the Earth’s field.

Another instrument for the analysis of the resid-

val component is the spinner magnetometer. The
& rock sample is rotated at high speed near a small
¥ pickup coil and its magnetic moment generates alter-

nating current (ac) in the coil. The phase and inten-

S'}ly of the coil signal are compared with a reference
g Signal generated by the rotating system. The total

moment of the sample is obtained by rotating it
about different axes.

Cryogenic instruments for determining two-
axes remanent magnetism have been developed
(Zimmerman and Campbell, 1975; Weinstock and
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Overton, 1981). They achieve great sensitivity be-
cause of the high magnetic moments and low noise
obtainable at superconducting temperatures.

3.4. FIELD INSTRUMENTS FOR
MAGNETIC MEASUREMENTS

3.4.1. General

Typical sensitivity required in ground magnetic in-
struments is betwecen 1 and 10 nT in a total field
rarely larger than 50,000 nT. Recent airborne appli-
cations, however, have led to the development of
magnetometers with sensitivity of 0.001 nT. Some
magnetometers measure the absolute field, although
this is not a particular advantage in magnetic survey-
ing.

The earliest devices used for magnetic exploration
were modifications of the mariner’s compass, such as
the Swedish mining compass, which measured dip 7
and declination D. Instruments (such as magnetic
variometers, which are essentially dip needles of high
sensitivity) were developed to measure Z, and H,,
but they are seldom used now. Only the modern
instruments, the fluxgate, proton-precession, and op-
tical-pump (usually rubidium-vapor) magnetometers,
will be discussed. The latter two measure the abso-
lute total field, and the fluxgate instrument also
generally measures the total field.

3.4.2. Fluxgate Magnetometer

This device was originally developed during World
War II as a submarine detector. Scveral designs have
been used for recording diurnal variations in the
Earth’s field, for airborne geomagnetics, and as
portable ground magnetometers.

The fluxgate detector consists essentially of a core
of magnetic material, such as mu-metal, permalloy,
or ferrite, that has a very high permeability at low
magnetic fields. In the most common design, two
cores are each wound with primary and secondary
coils, the two assemblies being as nearly as possible
identical and mounted parallel so that the windings
are in opposition. The two primary windings are
connected in series and energized by a low frequency
(50 to 1,000 Hz) current produced by a constant
current source. The maximum current is sufficient to
magnetize the cores to saturation, in opposite polar-
ity, twice each cycle. The secondary coils, which
consist of many turns of fine wire, are connected to a
differential amplifier, whose output is proportional to
the difference between two input signals.

The eflect of saturation in the fluxgate elements is
illustrated in Figure 3.7. In the absence of an exter-
nal magnetic field, the saturation of the cores is
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Figure 3.7 Principle of the fluxgate magnetometer. Note that H, = F, etc. (From
Whitham, 1960.) (a) Magnetization of the cores. (b) Flux in the rwo cores for F, = 0.
(c) Flux in the two cores for F, # 0. (d) F, + F, for £, + 0. (e} Output voltage for F * 0

symmetrical and of opposite sign near the peak of
each half-cycle so that the outputs from the two
secondary windings cancel. The presence of an exter-
nal field component parallel to the cores causes
saturation to occur earlier for one half-cycle than the
other, producing an unbalance. The difference be-
tween output voltages from the secondary windings
is a series of voltage pulses which are fed into the
amplifier, as shown in Figure 3.7d. The pulse height
is proportional to the amplitude of the biasing field
of the Earth. Obviously any component can be mea-
sured by suitable orientation of the cores.

The original problem with this typc of magne-
tometer — a lack of sensitivity in the corc — has been

L]
cores, ¢

solved by the development and use of materials tivity {
having sufficient initial permeability to saturate in minor,,
small fields. Clearly the hysteresis loop should be as tages —;
thin as possible. There remains a relatively high coarse |
noise level, caused by hysteresis effects in the core. small g
The fluxgate elements should be long and thin to tractive
reduce eddy currents. Improvements introduced to netic fie
increase the signal-to-noise ratio include the follow- required
ing: generall:
1. By deliberately unbalancing the two elements, ment s
voltage spikes are present with or without an g
ambient field. The presence of the Earth’s ficld 343, P*
increases the voltage of one polarity more than oo
the other and this difference is amplified. This insg
1945, of!

2. Because the odd harmonics are canceled fairly figure 3.8. Portable fluxgate magnetometer. I3

£

A
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Figure 3.9. Proton precession and spinning-top analogy.

well in a reasonably matched set of cores, the
even harmonics (generally only the second is sig-
nificant) are amplified to appear as positive or
negative signals, depending on the polarity of the
Earth’s field.

3. Most of the ambient field is canceled and varia-

tions in the remainder are detected with an extra-

secondary winding,.

4. Negative feedback of the amplifier outputs is used
to reduce the effect of the Earth’s field.

5. By tuning the output of the secondary windings
with a capacitance, the second harmonic is greatly
increased; a phase-sensitive detector, rather than
the difference amplifier, may be used with this
arrangement.

There are several fundamental sources of error in
the fluxgate instrument. These include inherent un-
balance in the two cores, thermal and shock noise in
cores, drift in biasing circuits, and temperature sensi-
tivity (1 nT/°C or less). These disadvantages are
minor, however, compared to the obvious advan-
tages — direct readout, no azimuth orientation, rather
coarse leveling requirements, light weight (2 to 3 kg),
small size, and reasonable sensitivity. Another at-
tractive feature is that any component of the mag-
netic field may be measured. No elaborate tripod is
required and readings may be made very quickly,
generally in about 15 s. A portable fluxgate instru-
ment is shown in Figure 3.8.

34.3. Proton-Precession Magnetometer

This instrument grew out of the discovery, around
1945 of nuclear magnetic resonance. Some nuclei

have a net magnetic moment that, coupled with their
spin, causes them to precess about an axial magnetic
field.

The proton-precession magnetometer depends on
the measurement of the frec-precession frequency of
protons (hydrogen nuclei) that have been polarized
in a direction approximately normal to the direction
of the Earth’s field. When the polarizing field is
suddenly removed, the protons precess about the

Earth’s field like a spinning top; the Earth’s field

supplies the precessing force corresponding to that
of gravity in the casec of a top. The analogy is
illustrated in Figure 3.9. The protons precess at an
angular velocity w. known as the Larmor precession
frequency, which is proportional to the magnetic field
F, so that

w=7y,F (3.30a)

The constant Y, is the gyromagnetic ratio of the
proton, the ratio of its magnetic moment to its spin
angular momentum. The value of Y, is known to an
accuracy of 0.001%. Since precise frequency mca-
surements are rclatively easy. the magnetic field can
be determined to the same accuracy. The proton,
which is a moving charge, induces, in a coil sur-
rounding the sample, a voltage that varies at the
precession frequency ». Thus we can determine the
magnetic field from

F=2my/y, (3.30b)

where the factor 2m/y, = 23.487 £ 0.002 nT/Hz
Only the total field :nay be measured.




78

Magnetic methods

Oscillotion of
known frequency

Power supply fo Counter 1o open gafe
magnetically >__. after, obout 500 cycles Gate
polorize sample hove paesed
\\‘ }( / bt ]
S ‘
s Contoiner Counier Recorder \ 3 "y
Timer to control o) of woter 1
switch (protons) A 53
' ¥
Figure 3.10. Proton-precession magnetometer. (From Sheriff, 1984.) i
2
The essential components of this magnetometer  a fixed installation, it posses some problems in small j
include a source of protons, a polarizing magnetic  portable equipment. sani
ficld considcrably stronger than that of the Earth The proton-precession magnetometer’s sensitivity are
and directed roughly normal to it (the direction of (= 1 nT) is high. and it is essentially free from drift. likek
this ficld can be off by 45°), a pickup coil coupled The fact that it requires no orientation or leveling L
tightly to the source, an amplifier to boost the minute  makes it attractive for marine and airborne opera- trafa
voltage induced in the pickup coil, and a frequency- tions. It has essentially no mechanical parts, al- frate
measuring device. The latter operates in the audio though the electronic components are relatively com- Sami
range because, from Equation (3.30b), » = 2130 Hz plex. The main disadvantage is that only the total has’
for F, = 50,000 nT. It must also be capable of indi- ficld can be measured. It also cannot record continu- enef-!‘
cating frequency differences of about 0.4 Hz for an ously because it requires a second or more between excit
instrument sensitivity of 10 nT. readings. In an aircraft traveling at 300 km/hr, the state
The proton source is usually a small bottle of distance interval is about 100 m. Proton-precession to 4,
water (the nuclear moment of oxygen is zero) or magnetometers are nOW the dominant instrument for B ag
some organic fluid rich in hydrogen, such as alcohol.  both ground and airborne applications. level
The polarizing field of 5 to 10 mT is obtained Tl
by passing direct current through a solenoid . in th
wound around the bottle, which is oriented roughly 34.4. Optically Pumped Magnetometer atomj
cast—west for the measurement. When the solenoid A variety of scientific instruments and techniques tive
current is abruptly cut off, the proton precession  has been developed using the energy in transferring samp
about the Earth’s field is detected by a second coil as  atomic electrons from one energy level to another. diatin
a transient voltage building up and decaying over an For example, by irradiating a gas with light or PhO{gﬁi
interval of ~ 3 s, modulated by the precession fre- radio-frequency waves of the proper frequency, elec- ren'g
quency. In some models the same coil is used for trons may be raised to a higher energy level. If they RF
both polarization and detection. The modulation sig-  can be accumulated in such a state and then sud- sitiog)
nal is amplified to a suitable level and the frequency  denly returned to a lower level, they release some of nulhﬁ
measured. A schematic diagram is shown in Figure their energy in the process. This energy may be used again,
3.10. for amplification (masers) or to get an intensc light by Ve
The measurement of frequency may be carried  beam, such as that produced by a laser. twie;:
out by actually counting precession cycles in an The optically pumped magnetometer is another 10
exact time interval, or by comparing them with a application. The principle of operation may be ur- TO;
very stable frequency generator. In one ground  derstood from an examination of Figure 3.11a, which fecess
shows three possible energy levels, A4,, A,. and B

model, the precession signal is mixed with a signal
from a local oscillator of high precision to produce
low-frequency beats (= 100 Hz) that drive a vibrat-
ing reed frequency meter. Regardless of the method
used, the frequency must be measured {0 an accu-
racy of 0.001% to realize the capabilities of the
method. Although this is not particularly difficult in

for a hypothetical atom. Under normal conditions of
pressure and temperature, the atoms occupy groun
state levels A, and A,. The encrgy difference be
tween A4, and A, is very small [= 1078 electrot
volts (eV)), representing a fine structure due to atomic
electron spins that normaily are not all aligned in the
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(a)

Figure 3.11. Optical pumping. (a) Energy
light transmission,

same direction. Even thermal energies (= 10-2 eV)
are much larger than this, so that the atoms are as
likely to be in level 4; asin 4,.

Level B represents a much higher energy and the
transitions from A, or A, to B correspond to in-
frared or visible spectral lines. If we irradiate a
sample with a beam from which spectral line 4,B
has been removed, atoms in level 4, can absorb
energy and rise to B, but atoms in A4, will not be
excited. When the excited atoms fall back to ground
state, they may return to either level, but if they fall
to A;, they will be removed by photon excitation to
B again. The result is an accumulation of atoms in
level A4,.

The technique of overpopulating one energy level

~ in this fashion is known as optical pumping. As the

ith light o
juency, ele
level. If thej
id then sud,
gase some o
may be uset;
intense llgll‘t

may be ut
3.11a, whi
, A,, and
conditions

lifference
10~ 8 electr

atoms are moved from level A4, to A, by this selec-

b tive process, less energy will be absorbed and the

sample becomes increasingly transparent to the irra-
diating beam. When all atoms are in the 4, state, a
photosensitive detector will register a maximum cur-
rent, as shown in Figure 3.11b. If now we apply an
RF signal, having energy corresponding to the tran-
sition between 4; and A,, the pumping effect is
nullified and the transparency drops to a minimum
again. The proper frequency for this signal is given
by v = E/h, where E is the energy difference be-
tween 4, and A, and 4 is Planck's constant {6.62 X

;r is anothﬁ[; 1073 joule-seconds].

To make this device into a magnetometer, it is

necessary to select atoms that have magnetic encrgy
sublevels that are suitably spaced to give a mcasure
of the weak magnetic field of the Earth. Elements
that have been used for this purpose include cesium,
rubidium, sodium, and helium, The first three cach

ave a single electron in the outer shell whose spin
s lies either parallel or antiparalle! to an cxternal
agnetic field. These two orientations correspond to
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Random we— \ Microammeter current

1 distribution 3 =t 2%

Ay A, EY : B S "_'_'_#::4 :D—-
B o s oo - = [
—— 4 - 4, / - - _ﬁ ;i

B e Lamp  Filter b':ﬁur"" Photocell
2 6 ( removes spectral Max.
pos A, tvoseot Ay

4y — 4

B —e- B

Completed

3 7 pumping

AI -G~ A:I
4 — 4

B ——e B

‘Pumping nulfified'

4 8 by RF signal’

4, ho o 0o ans o5 Resonant

A, A RF signal

®

level transitions. (b) Effect of pumping on

the energy levels 4, and A, (actually the sublevels
are more complicated than this, but the simplifica-
tion illustrates the pumping action adequately), and
there is a difference of one quantum of angular
momentum between the parallel and antiparallel
states. The irradiating beam is circularly polarized so
that the photons in the light beam have a single spin
axis. Atoms in sublevel A, then can be pumped to B,
gaining onc quantum by absorption, whereas those
in A, already have the same momentum as B and
cannot make the transition.

Figure 3.12 is a schematic diagram of the rubid-
ium-vapor magnetometer. Light from the Rb lamp is
circularly polarized to illuminate the Rb vapor cell,
after which it is refocused on a photocell. The axis of
this beam is inclined approximately 45° to the Earth’s
field, which causes the electrons to precess about the
axis of the ficld at the Larmor frequency. At one
point in the precession cycle the atoms will be most
nearly parallel to the light-beam direction and one-
half cycle later they will be more antiparallel. In the
first position, more light is transmitted through the
cell than in the second. Thus the precession fre-
quency produces a variable light intensity that flick-
ers at the Larmor frequency. If the photocell signal is
amplified and fed back to a coil wound on the cell,
the coil-amplifier system becomes an oscillator
whose frequency » is given by

F=2gp/y, (3.31)

where v, is the gyromagnetic ratio of the electron.
For Rb, the value of y,/2= is approximately 4.67
Hz/nT whereas the corresponding frequency for F,
= 50,000 nT is 233 kHz. Because v, for the electron
is known to a precision of about 1 part in 107 and
because of the relatively high frequencies involved, it
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figure 3.12. Rubidium-vapor magnetometer (schematic).

is not difficult to measure magnetic field variations
as small as 0.01 nT with a magnetometer of this type.

3.4.5. Gradiometers

The sensitivity of the optically pumped magnetome-
ter is considerably greater than normally required in
prospecting. Since 1965, optically pumped rubidium-
and cesium-vapor magnetometers have been increas-
ingly employed in airborne gradiometers. Two detec-
tors, vertically separated by about 35 m, measure
dF /dz, the total-field vertical gradient. The sensitiv-
ity is reduced by pitch and yaw of the two birds.
Major improvements by the Geological Survey of
Canada involve reducing the vertical separation to 1
to 2 m and using a more rigid connection between
the sensors. Gradient measurements are also made in
ground surveys. The two sensors on a stafl in the
Scintrex MP-3 proton-magnetometer system, for ex-
ample, measure the gradient to +0.1 nT/m. Gra-
diometer surveys are discussed further in Section
3.55.

3.4.6. Instrument Recording

Originally the magnetometer output in airborne in-
stallations was displayed by pen recorder. To achieve
both high sensitivity and wide range, the graph would
be “paged back” (the reference value changed) fre-
quently to prevent the pen from running off the
paper. Today recording is done digitally, but gener-
ally an analog display is also made during a survey.
Some portable instruments for ground work also
digitally record magnetometer readings, station coor-
dinates, diurnal corrections, geological and terrain
data.

3.4.7. Calibration of Magnetometers

Magnetometers may be calibrated by placing them
in a suitably oriented variable magnetic field of
known value. The most dependable calibration

method employs a Helmholtz coil large enough to
surround the instrument. This is a pair of identical
coils of N turns and radii a coaxially spaced a
distance apart equal to the radius. The resulting
magnelic field, for a current / flowing through the
coils connected in series-aiding, 1s directed along the
axis and is uniform within about 6% over a cylinder
of diameter a and length 3a4/4, concentric with the
coils. This field is given by

H=90NI/a (3.32a)
where I is in microamperes, H in nanoteslas, and «
in meters. Because H varies directly with the cur-
rent, this can be written

AH =90NAI/a (3.32b)

3.5. FIELD OPERATIONS

3.5.1. General

Magnetic exploration is carried out on land, at sea,
and in the air. For areas of appreciable extent,
surveys usually are done with the airborne magne-
tometer.

In oil exploration, airborne magnetics (along with
surface gravity) is done as a preliminary to seismic
work to establish approximate depth, topography.
and character of the basement rocks. Since the sus-
ceptibilities of sedimentary rocks are relatively small,
the main response is due to igneous rocks below (and
sometimes within) the sediments.

Within the last few years it has become possible
to extract from aeromagnetic data weak anomalies
originating in sedimentary rocks, such as result from
the faulting of sandstones. This results from (a) the
improved sensitivity of magnetometers, (b) more pre-
cise determination of location with Doppler radar
(§B.5), (¢) corrections for diurnal and other temporal
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field variations, and (d) computer-analysis tech-
niques to remove noise effects.

Airborne reconnaissance for minerals frequently
combines magnetics with airborne EM. In most cases
of followup, detailed ground magnetic surveys are
carried out. The method is usually indirect, that is,
the primary interest is in geological mapping rather
than the mineral concentration per se. Frequently
the association of characteristic magnetic anomalies
with base-metal sulfides, gold, asbestos, and so on,
has been used as a marker in mineral exploration.
There is also, of course, an application for magnetics
in the direct search for certain iron and titanium

ores.

3.5.2. Airborne Magnetic Surveys

(a) General. In Canada and some other countrics,
government agencies have surveyed much of the
country and aeromagnetic maps on a scale of 1 mile
to the inch are available at a nominal sum. Large
arcas in all parts of the world have also been sur-
veyed in the course of oil and mineral exploration.

The sensitivity of airborne magnetometers is gen-
erally greater than those used in ground explora-
tion — about 0.01 nT compared with 10 to 20 nT.
Because of the initial large cost of the aircraft and
availability of space, it is practical to use more
sophisticated equipment than could be handled in
portable instruments; their greater sensitivity is use-
ful in making measurements several hundred meters
above the ground surface, whereas the same sensitiv-
ity is usually unnecessary (and may even be undesir-
able) in ground surveys.

{b) Instrument mounting. Aside from stabiliza-
tion, there are certain problems in mounting the
sensitive magnetic detector in an airplane, because
the latter has a complicated magnetic field of its
own. One obvious way to eliminate these effects is to
tow the sensing element some distance behind the
aircraft. This was the original mounting arrangement
and is still used. The detector is housed in a stream-
lined cylindrical container, known as a bird, con-
nected by a cable 30 to 150 m long. Thus the bird
may be 75 m nearer the ground than the aircraft. A
photograph of a bird mounting is shown in Figure
3.13a,

An alternative scheme is to mount the detector on
a wing tip or slightly behind the tail. The stray
mMagnetic effects of the plane are minimized by per-
Mmanent magnets and soft iron or permalloy shielding
strips, by currents in compensating coils, and by
metallic sheets for electric shielding of the eddy
Currents. The shielding is a cut-and-try process, since
the magnetic effects vary with the aircraft and
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mounting location. Figure 3.13b shows an installa-
tion with the-magnetometer head in the tail.

(c) Stabilization.  Since proton-precession and opti-
cally pumped magnetometers measure total field, the
problem of stable orientation of the sensing element
is minor. Although the polarizing field in the
proton-precession instrument must not be parallel to
the total-field direction, practically any other orien-
tation will do because the signal amplitude becomes
inadequate only within a cone of about 5°.

Stabilization of the fluxgate magnetometer is more
difficult, because the sensing element must be main-
tained accurately in the F axis. This is accomplished
with two additional fluxgate detectors that are ori-
ented orthogonally with the first; that is, the three
elements form a three-dimensional orthogonal coor-
dinate system. The set is mounted on a small plat-
form that rotates freely in all directions. When the
sensing fluxgate is accurately aligned along the
total-field axis, there is zero signal in the other two.
Any tilt away from this axis produces a signal in the
control elements that drive servomotors to restore
the system to the proper orientation.

(d) Flight pattern. Aeromagnetic surveys almost
always consist of parallel lines (Fig. 3.13c) spaced
anywhere from 100 m to several kilometers apart.
The heading generally is normal to the main geologic
trend in the area and altitude usually is maintained
at fixed elevations, the height being continuously
recorded’ by radio or barometric altimeters. It is
customary to record changes in the Earth’s field with
time (due to diurnal or more sudden variations) with
a recording magnetometer on the ground. A further
check generally is obtained by flying several cross
lines, which verify readings at line intersections.

A drape survey, which approximates constant
clearance over rough topography, is generally flown
with a helicopter. It is often assumed that drape
surveys minimize magnetic terrain effects, but Grauch
and Campbell (1984) dispute this. Using a uniformly
magnetized model of a mountain-valley system, four
profiles (one level, the others at different ground
clearance) all showed terrain effects. However,
Grauch and Campbell recommend drape surveys
over level-flight surveys because of greater sensitivity
to small targets, particularly in valleys. The disad-
vantages of draped surveys are higher cost, opera-
tional problems, and less sophisticated interpretation
techniques.

{e) Effect of variations in flight path. Altitude
differences between flight lines may cause herring-
bone patterns in the magnetic data. Bhattacharyya
(1970) studied errors arising from flight deviations
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over an idealized dike (prism) target. Altitude and
heading changes prouuced field measurement changes
that would alter interpretations based on anomaly
shape measurements, such as those of slope. Such
deviations are especially significant with high-resolu-
tion data.

(f) Aircraft location. The simplest method of locat-
ing the aircraft at all times, with respect to ground
location, is for the pilot to control the flight path by
using aerial photographs, while a camera takes pho-
tos on strip film to determine locations later, The
photos and magnetic data are simultaneously tagged
at intervals. Over featureless terrain, radio naviga-
tion (see §B.6) gives aircraft position with respect to
two or more ground stations, or Doppler radar (§B.5)
determines the precise flight path. Doppler radar
increasingly is employed where high accuracy is re-
quired.

(g) Corrections to magnetic data. Magnetic data
are corrected for drift, elevation, and line location
differences at line intersections in a least-squares
manner to force ties. Instrument drift is generally
not a major problem, especially with proton and
optically pumped magnetometers whose measure-
ments are absolute values.

The value of the main magnetic field of the Earth
is often subtracted from measurement values. The
Earth’s field is usually taken to be that of the Inzer-
national Geomagnetic Reference Field (IGRF) model.

A stationary base magnetometer is often used to
determine slowly varying diurnal cffects. Horizontal
gradiometer arrangements help in eliminating rapid
temporal variations; the gradient measurements do
not involve diurnal effects. Usually no attempt is
made to correct for the large effects of magnetic
storms.

th) Advantages and disadvantages of airborne
magnetics. Airborne surveying is extremely attrac-
tive for reconnaissance becausc of low cost per kilo-
meter (see Table 1.2) and high speed. The speed not
only reduces the cost, but also decreases the effects
of time variations of the magnetic field. Erratic
hear-surface features, frequently a nuisance in ground
work, are considerably reduced. The flight elevation
may be chosen to favor structures of certain size and
depth. Operational problems associated with irregu-
lar terrain, sometimes a source of difliculty in ground
Magnetics, are minimized. The data are smoother,
which may make interpretation casier. Finally, aero-
Magnetics can be used over water and in regions
inaccessible for ground work.

The disadvantages in airborne magnetics apply
Mainly to mineral exploration. The cost for survey-
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ing small areas may be prohibitive. The attenuation
of near-surface features, apt to be the survey objec-
tive, become limitations in mineral search.

3.5.3. Shipborne Magnetic Surveys

Both the fluxgate and proton-precession magnetome-
ters have been used in marine operations. There arc
no major problems in ship installation. The sensing
element is towed some distance (150 to 300 m) astern
(to reduce magnetic effects of the vessel) in a water-
tight housing called a fish, which usually rides about
15 m below the surface. Stabilization is similar to
that employed in the airborne bird. Use of a ship
rather than an aircraft provides no advantage and
incurs considerable cost increase unless the survey is
carried out in conjunction with other surveys, such
as gravity or seismic. The main application has been
in large-scale oceanographic surveying related to
earth physics and petroleum search. Much of the
evidence supporting plate tectonics has come from
marine magnetics.

3.5.4. Ground Magnetic Surveys

(a) General. Magnetic surveying on the ground
now almost exclusively uses the portable proton-pre-
cession magnetometer. The main application is in
detailed surveys for minerals, but ground magnetics
are also employed in the followup of geochemical
reconnaissance in base-metal search. Station spacing
is usually 15 to 60 m; occasionally it is as small as 1
m. Most ground surveys now mcasure the total field,
but vertical-component fluxgate instruments are also
used. Sometimes gradiometer measurements (§3.5.5)
are made.

(b) Corrections. In precise work, either repeat
readings should be made every few hours at a previ-
ously occupied station or a base-station recording
magnetometer should be employed. This provides
corrections for diurnal and erratic variations of the
magnetic field. However, such precautions are un-
necessary in most mineral prospecting because
anomalies are large (> 500 nT).

Since most ground magnetometers have a sensi-
tivity of about 1 nT, stations should not be located
near any sizeable objects containing iron, such as
railroad tracks, wire fences, drill-hole casings, or
culverts. The instrument operator should also not
wear iron articles, such as belt buckles, compasses,
knives, iron rings, and even steel spectaclc frames.

Apart from diurnal effects, the reductions re-
quired for magnetic data are insignificant. The verti-
cal gradient varies from approximately 0.03 nT/m at
the poles to 0.01 nT/m at the magnetic equator. The
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latitude variation is rarely > 6 nT/km. Thus eleva-
tion and latitude corrections are generally unneces-
sary.

The influence of topography on ground magnet-
ics, on the other hand, can be very important. This is
apparent when taking measurements in stream
gorges, for example, where the rock walls above the
station frequently produce abnormal magnetic lows.
Terrain anomalies as large as 700 nT occur at steep
(45°) slopes of only 10 m extent in formations con-
taining 2% magnetite (k = 0.025 ST unit) (Gupta and
Fitzpatrick, 1971). In such cases, a terrain correction
is required, but it cannot be applied merely as a
function of topography alone because there are situ-
ations (for example, sedimentary formations of very
low susceptibility) in which no terrain distortion is
observed.

A terrain smoothing correction may be carried
out by reducing measurements from an irregular
surface z = h(x, y) to a horizontal plane, say z = 0,
above it. This can be done approximately by using a
Taylor series (§A.5) with two terms:

Z(x,y,0) = Z(x, p. h) — h(9Z/03z),-, (3.33)

3.5.5. Gradiometer Surveys

The gradient of F is usually calculated from the
magnetic contour map with the aid of templates.
There is, however, considerable merit in measuring
the vertical gradient directly in the field. It is merely
necessary to record two readings, one above the
other. With instrument sensitivity of 1 nT, an eleva-
tion difference of = 1 m suffices. Then the vertical
gradient is given by

9F/3z = (F, - R)/Az

where F, and F, are readings at the higher and lower
elevations, and Az is the separation distance.
Discrimination between neighboring anomalies is
enhanced in the gradient measurements. For exam-
ple, the anomalies for two isolated poles at depth h
separated by a horizontal distance A yield separate
peaks on a 3F/dz profile but they have to be
separated by 1.4 h to yield separate anomalies on an
F profile. The effect of diurnal variations is also
minimized, which is especially beneficial in high
magnetic latitudes. For most of the simple shapes
discussed in Section 3.6 (especially for the isolated
pole, finite-length dipole, and vertical contact of
great depth extent), better depth estimates can be
made from the first vertical-derivative profiles than
from either the Z or F profiles. For features of the
first two types, the width of the profile at
(80Z/32)pae/2 equals the depth within a few per-
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cent. For the vertical contact, half the sepatation
between maximum and minimum values equals the
depth. Gradiometer measurements are valuable in
field continuation calculations (§3.7.5).

Ground gradiometer measurements (Hood and
McClure, 1965) have recently been carried out for
gold deposils in castern Canada in an area where the
overburden is only a few meters thick. The host
quartz was located because of its slightly negative
susceptibility using a vertical separation of 2 m and
a station spacing of =1 m. Gradiometer surveys
have also been used in the search for archeological
sites and artifacts, mapping buried stone structures,
forges, kilns, and so forth (Clark, 1986: Wynn, 1986).

Vertical gradient acromagnetic surveys (Hood,
1965) are often carried out at 150 to 300 m altitude.
Detailed coverage with 100 to 200 m line spacing is
occasionally obtained at 30 m ground clearance.

Two magnetometers horizontally displaced from
each other are also used. especially with marine
mecasurements where they may be separated by 100
to 200 m. This arrangement permits the elimination
of rapid temporal variations so that small spatial
anomalies can be interpreted with higher confidence.

3.6. MAGNETIC EFFECTS OF SIMPLE
SHAPES

3.6.1. General

Because ground surveys (until about 1968) measured
the vertical-field component, whereas airborne sur-
veys measured the total ficld, both vertical-compo-
nent and total-field responses will be developed.
Depth determinations are most important and lateral
extent less so, whereas dip estimates are the least
important and quite difficult. In this regard, aero-
magnetic and electromagnetic interpretation are sim-
ilar. In petroleum exploration the depth to basement
is the prime concern, whereas in mineral exploration
more detail is desirable. The potentialities of high
resolution and vertical-gradient’ aeromagnetics are
only now being exploited to a limited extent.

As in gravity and electromagnetics, anomalies ar¢
often matched with models. The magnetic problem is
more difficult because of the dipole character of the
magnetic field and the possibility of remanence. Very
simple geometrical models arc usually employed:
isolated pole, dipole, lines of poles and dipoles. thin
plate, dike (prism), and vertical contact. Because the
shape of magnetic anomalies relates to the magnetic
field, directions in the following sections are with
respect to magnetic north (the x direction). magnetic
east. and so forth, the z axis is positive downward,
and we assume that locations are in the norther

hemisphere. We use 1 for the field inclination, § for';
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(a)

Figure 3.14. Magnetic effects of an isolated pole. (a) F, Z, and H profiles for | = 45°

anomaly is approximately the component of Fy in
the F, direction. Using Equation (3.29),

F=F 6y =(p/r’)(—xcosI+z,sin1)
(3.34b)

[Note that the total field anomaly F, which is only a
component of F,, may be smaller than Z, and that
in general F # (Z2 + H?)1/2

Profiles are shown in Figure 3.14a for I = 45°;
Z,nax 18 located directly over the pole. The H profile
is perfectly asymmetric and its positive half inter-
sects the Z profile nearly at Z,,, /3. The horizontal
distance between positive and negative peaks of H is
approximately 3z,/2. This profile is independent of
the traverse direction only if the effect of the pole is
much larger than the horizontal component of the
Earth’s field.

A set of total-field profiles for various values of /
is shown in Figure 3.14c. F,_ occurs south of the
monopole and F_;, north of it. F is zero north of
the pole at x = ztan I. The curves would be re-
flected in the vertical axis in southern latitudes. A
total-field profile on a magnetic meridian becomes
progressively more asymmetric as the inclination de-
creases (that is, as we move toward the magnetic
equator). At the same time, the maximum decreases
and the minimum increases and both are displaced
progressively southward. The statement also applies
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1o the southern hemisphere if we interchange maxi-

mum and minimum.
The maximum and minimum values of F in

Equation (3.34b) occur at

34 (9 + 8cot? 1)1/2}/4cot I
(3.352)

Xmax, min = ZP{

where the plus sign gives F, .. The maximum and
minimum values of F (recalling that the pole is —p,
hence p is positive) are

qu.min = (pSin 1/41,3)[1 :t (9 + 8C0t2 [)1/2}/

}3/2

{1+ (Xmax, min/7,)” (3.35b)

There are several relations between the profile
characteristics and the pole depth. When Z =
Zpax/ 2 X1 2 = 0.75z, (Fig. 3.14a), and when Z =
Zpax/3- X3 = 2,, where x, , and x,,; are the
half-widths at Z__,/2 and Z_ /3, respectively. Pole
depth may also be estimated from Equations (3.35).
For example,

2p = A Xmia = Xena) /(8 + 9tar? I)'"* (3.36a)
= 4(xo — Xpg)/{tan I+ (8 + 9tar? 1)"*)
(3.36b)

It may be difficult to locate x,;, and x, in high
latitudes, however, since the curves are practically
symmetrical when 7 > 60°. An alternative estimate,
good within 10%, is given by z, = 1.4x, ,,, where
Xy, is the half-width of the F profile.

A first vertical-derivative profile provides a good
depth estimate. The width of the profile at
1/2)(8Z/dz),, is equal to z, to within a few
percent.

3.6.3. The Dipole

A small three-dimensional structure containing
anomalous concentrations of magnetic materials and
varying in section from rod-like to spherical often
may be represented by a dipole model. The dipole
field was developed in Section 3.2.3. Assuming that a
Structure is magnetized mainly by induction in the
direction of the Earth’s field, the dipole dip will be
that of the inclination, and the magnetic response
may be obtained from Equation (3.14). If the body’s
Intrinsic field due to remanence is much larger than
the external field (an unlikely case), the magnetic
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response may also be obtained from these equations,
replacing the inclination / with the dip of the di-
pole &.

Figure 3.15a shows the geometry. For a traverse
in the dip direction, we find F, H, and Z by
resolving F, and F, in Equation (3.14a) along the
dipole, the vertical, and the horizontal directions,
respectively. Thus,

F=Fcosf — Fysin@ = (m/r*)(3cos?8 — 1)
= (m/r*){3cos? (I +¢) -1}
= (m/r*){(3cos® I - 1)x* — 6xz,,sin I cos [
+(3si® 1 - 1)z2} (3.37a)
Z= —(Fsing + Fycos ¢)

—(m/r*)(2cos@sin¢ + sin 8 cos ¢)

(m/r*){(222 - x*)sin I — 3xz,,cos I }
(3.37b)

]

H = F.cos¢ — Fysin¢g
= (m/r*)(2cos f cos ¢ — sin B sin¢)

= (m/r*){(2x% = z2)cos I — 3xz,,sin 1}
(3.37)

where m = 2pl and z, is the depth of the dipole
below the surface of measurement.

Profiles are shown in Figure 3.15b for I = 45°.
The dipole curves are somewhat sharper than for the
monopole. The width, x*, of the Z curves in Figure
315b at ~ Z_ .. /2 is x* = z,. The same relation
holds for the F curves in Figure 3.15b, ¢ in the range
30° < I £90°. For I =0, however, the profile is
sharper and x* = 0.7z, at F,, /2. The F and Z
profiles would be symmetrical on E~-W traverses,
with the flanks asymptotic to zero. The width of a
gradiometer profile peak at (1/2)(0Z/82) ., gives
a good estimate of z,,.

When the dipole is polarized approximately verti-
cally, which would be the case where I > 70°, we
have

F=Z=m(2:2 - x?)/r’ and H = —3mxz,/r
(3.38a)

Near the magnetic equator, / = 0 and

F=H=m(2x*-22)/r’ and Z= —3mxz, /r®
(3.38b)

Curves for these limiting cases are shown in Figure
3.15c and d.

I
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Figure 3.15. Magnetic effects of an isolated dipole. (a) Geometry. (b) Profiles for
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The following relations hold for the vertical
dipole:
At x =0, Z, F are maxima:

At x = +2z,. Z, F are minima: (3.39a)

Zz

niin

At x = 2,2

= F,, = —0.036m/z),
Z=F=0

Similar relations hold for the horizontal dipole:

Hmin = Fmin = —m/zr::n

At x =0,

At x = +1.2z,,. Hooo = Fnax = 0.20m/2},

At x = +z,//2, H=F=0

(3.39b)

The direction of dipole dip is toward the side of
the Z profile that has the steeper slope and negative
tail. This tail is not pronounced, however, unless the
dip £ < 50°. The F profiles are even more diagnostic
of dip. In Figure 3.15d the Z profile is asymmetrical,
with peak and trough above the ends of a long
dipole for z,,/l < 2. When z,/1 > 1, the peak and
trough occur beyond the ends and depth cannot be
estimated, although a steep slope at the zero crossover
would indicate a shallow source.

A finite dipole sometimes may be represented by
a dipping sheet of finite length and depth extent [Eq.
(3.58)] or by an infinite vertical dipping dike of finite
strike length [Eq. (3.49)).

3.6.4. Two-Dimensional Features

(a) General. Clearly the strike of a two-dimefl‘
sional featurc with respect to the earth’s field will
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control induced magnetization, so the strike direc-
tion B8 will be incorporated in the expressions for
various structures. Traverse direction is more critical
in identifying a 2-D target. A profile approximately
along strike will be unproductive. For 2-D models, it
is customary to exhibit only principal profiles (nor-
mal to strike of the bodies). As in gravity, a magnetic
body generally is considered to be 2-D when its
strike length is at least 10 to 20 times larger than
other dimensions. This situation is even less likely to
be true in magnetics than it is in gravity, and formu-
las are often modified for finite strike length
(Rasmussen and Pedersen, 1979).

In addition to using direct magnetic analysis, 2-D
features may also be derived with relative ease from
the corresponding gravity shapes by using Poisson’s
relation (§3.2.5).

(b) Line of poles (thin vertical dike of infinite
depth extent). An infinite horizontal line of poles
15 an approximation to a long shear or fracture zone
or thin dike, which has appreciable susceptibility
contrast and which extends to considerable depth.
The magnetic potential is given by the logarithmic
rclation 4 = =2p;In(1/r), where —p, is the pole
intensity per unit length [this equation comes from
Eq. (3.9) following the procedure in problem 1,
Chapter 2, and assuming infinitesimal cross section
in Eq. (2.8)] We pass a vertical planc through

P(x. y,0) perpendicular to the line of poles and take

x" and 2’ axes in this plane such that x’ is horizon-
tal, 2’ = z, and the line of poles intersects the z axis
at a depth z,,- B is the angle between the x and —)’
axes. The field F,, is in this plane and is directed
down from P toward the line of poles along the
vector r = (~x'i’ + z,,k). To get derivatives of r at

. . P
P, we write 72 in terms of the components of r and

temporarily replace P(x’,0) with P'(x’, z). Then,
r2=(-x)?*+ (2 = 2)*, 3r/dx = x'/r, and
dr/dz = lim, ,o{—(z, — 2)/r} = —z,/r. Then,

It

E,

= —VA=-2pv{inr}

(2p,/r2)( -xi+ zp,k)
= (2p/r*)(—x'sin Bi + z,k) (3.40a)

Now the component along F, is
F=FE, f

= (2p/r*)( - x'sin Bi + z,,k)
-(cos Ii + sin Jk)
= (2p/r*)(—x'cosI'sin B + z,;sinI) (3.40b)

where r? = x’> + 22, The vertical component is

Z=2pz,/r? (3.40c)
The north-south component of H is from Equation
(3.40a):
H=—(2p/r*)x'sin B (3.40d)
Total-field principal profiles (normal to strike) are
shown in Figure 3.16 for several inclinations and
strike B = 45°. Obviously the Z profiles are the
same for any strike direction. The F curves in Figure
3.16 have the same character as for the single pole.
although they are somewhat broader. For I < 30°,
the half-width of the profile a1 F,,, /2 is about equal
to the depth. When [ is smaller, the depth is roughly
equal to half the horizontal distance between F
and F ;.
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(c) Line of dipoles (ribbon). The opposite extreme
to a line of poles is a magnetic stringer of limited
depth extent, which can be modeled by a line (rib-
bon) of dipoles, sometimes called a thin horizontal
cylinder. We take the y’ axis along the strike and
derive the magnetic response along the principal
profile (in the i’ direction) using Poisson’s relation

[Eq. (3.26)]:
A= (’”I/YP/) 8 = _('"//YPI) vU- o

where p, is the density per unit length and m, is the
dipole moment per unit length in the direction o, =
cos I sin Bi’ + sin k. Then U = —2vp, In(r) for in-
finitesimal cross section [Eq. (2.8)); we now write
r? = x"? + (z,,, — z)?, differentiate, then set z = 0.
This gives
vU = - 2yp,(x'i = z,,,k) /r*

The magnetic potential becomes
A= ( (=my/vo,)(=2yp, ) (xi — Zmlk)/’2} 10

= (2m,/r?)(x'V' = 2,,k)

-(cos I'sin BV’ + sin Tk)

= (2m,/r*)(x'cos I'sin B — z,, sin I)

The field components are found from this (noting

that H is along the x’ axis so that the component
along the x axis is H sin B8 — see Eq. (3.41c))

Z=—-0JA/3z
= (2m,/r4)
x{(z2; - x?)sin I - 2x'z,, cos I'sinB)
(3.41a)
H= —04/dx
= (2m/r*)
x{(x?- z2,)cos I sin B — 2x'z,, sin I}
(3.41b)

F=(HsinB)cosI+ Zsinl
= (2'"1/"4)
x{(x? - 22, )(cos? I sit? B — sin’ 1)
—4x'z,, sin [ cos I sin B} (3.41¢)

Two principal profiles for the vertical component
are shown in Figure 3.17a, one where the dipole line
strikes E-W (8 = 7/2) and one for a strike N30°W
(B = 7/6). When the dipole line is in the magnetic
meridian, 8 = 0, the curve is symmetrical with Z,,
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directly above the center. As in the case of the
dipole, the depth to the center of the dipole line js
approximately equal to the width of the profile at
Zonwe/2-

Figure 3.17b displays total-field principal profiles
for a line of dipoles striking NW (or NE) for inclina.
tions I = 90°,60°,30°,0°. When 0° < 7 <15° and
45° < I < 90°, the full width of F_,, /2 is roughly
the depth, whereas for 15° < I < 45°, the depth is
approximately the distance between Fp,,, and F

These profiles are also more diagnostic of dip than Z
measurements arc.

3.6.5. Dipping Dike (Prism)

(a) General case. Magnetic anomalies caused by
intrusions, flows, or iron-rich sedimentary horizons
are common features in regions favorable for min.
eral exploration, and there is frequently a contrast in
the magnetic mincral content of such features with
respect to the host rock. Such featurcs may often be
simulated by a two-dimensional dipping dike (prism),
A vertical dike is also commonly used in making
basement depth determinations in oil prospecting.

Direct application of Poisson’s relation is diffi-
cult, so we proceed as follows. We assume a dike
with dip ¢ and strike B, and we take the y’ axis
along the strike direction. We assume that magnetic
polarization is in the F, direction, that is, M = kF.
The geometry is illustrated in Figurc 3.18a. from
which we have the following relations:

r2=d*+ (x+dcott)’
2 =D+ (x + Deot$)’
r32=d’!+()c+a'cot.$—b)2
2

7]

2l

D*+ (x+ Dcoté — b)’
tan™!{d/(x + dcot §)}

and so on. Starting with Equation (3.26), we have

Because U s

A=(M/v)g = —(M/w)wU-§ (34)F U Diffe
where f, = (cos I sin Bi’ + sin Jk). Using Equatiot
(3.27a) this becomes U..
= —vAd = (M/yp)v(VU 1)
= (M/yp) V(U,cos I'sin B + U.sinT) U, =
= (kE/vp){(Ucos Isin B + Uy, sin )i »l
WC Change J
+(U,,cos I'sin B+ U, sinI)k} (34)] 2 point insj
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). we have

J-fy (34

use U satisfies Laplace’s equation (2.11a), U, = Then,
u,. Differentiating Equation (2.9), we get

x'z’
U, = 4-ypf,f'7 dx' dz'
X"z
. E uaﬁ ? ! xldx,
mg =4 Y. = 4Ypff( xz/r*) dxdz = 47’).[1 dz f(zo. + 12)2
x

4 ld/ _1
h wfz 1227+ x9)

x+z'cot§~b

x+z'cot §

nl)

sin I

U, = ZYPff{(Zz - xz)/r"} dx dz

D Z
=27"f 72 o2 ; 2
d | z7csc*§+ 2z'xcotd + x

’

¢ Chang_e X and z to x’ and 2, the coordinates of _ z dz’
1)k} (3@Ppoint inside the dike. r* becomes (x? + 2%, 2%csc? £+ 22'(x — b)cot £ + (x — b)?
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After some manipulation, this becomes

U, = 2ve sin §{sin § In(ryn/nyr,)
+eos{(dn — ¢y — ¢y + 4,) }
The value of U,, can be found the same way; the
result is
U, = 2yesiné{coséIn(rn/nr,)
—siné( ¢ — ¢, — ¢y + ¢,) )
Substitution of the values of the derivatives in Equa-
tion (3.43) gives
Z = 2kF, sin £{(cos I'sin £ sin 8
+sin Jcos £)In( ryry /ry1,)
+(cos I'cos  sin B — sin [ sin £)
X(b1 = ¢ — ¢y + ¢,)}
(3.44a)
H=2kFE sin{sin B
X {(sin 7sin § — cos I cos & sin B)In( ryr, /r,1,)
+(cos I'sin ¢ sin B + sin I cos §)
X($y = by — ¢+ ¢y))
F=2kF, sin §[{ sin21 sin ¢ sin B
—cos £(cos® I sin® B — sin® 1) )
XIn(rr/rn)
+{ sin21 cos £ sin B
+sin §(cos I sin® B — sin® I) }
X(41 =01~ +9)] (3.440)

The parameter values in these equations may
sometimes be found from the interpretation of
ground surveys, but generally this cannot be done
for airborne work. Monopole- and dipole-line ap-
proximations (§3.6.4b, ¢) may occasionally be distin-
guished from dike-like models of considerable width
in mineral exploration, but usually basement is so
far removed from the aircraft in oil reconnaissance
w.ork that discrimination is impossible. The vertical

dike is often used for basement depth determinations
in the latter case.

(3.44b)

(b) E~ W or N-S strike. When the dike strikes
~W. B = 90° and Equations (3.44a, ¢) become
= 2kE,sin £ {sin( T + £)In(rr,/r,r,)
Foos( 1+ £) (¢ — by = 6 + 4,) )
= 2kF,sin ¢ { —cos(¢ + 21)In(ryry /ryry)
+sin( € + 27)

X(¢1 ¢yt 4’4)} (3'45b)

(3.45a)
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If, in addition, the dike has vertical sides, £ = 90°
and Equations (3.45) are simplified to

Z = 2kF,{cos I In(ryr;/1,1,)

—sinI(éy — ¢, — ¢y + ¢,)} (3.462)
F = 2kF,{sin21 In(ryr;/ryn,)

+cos2I( ¢ — ¢y — ¢y + ¢)} (3.46b)
For N-S strike, 8 = 0, so
Z = 2kF,sin £ sin I{cos £ In(ryry /ryry)
—sin§(¢; — ¢, — ¢ + ¢,)} (3.47a)
F = 2kF, sin £ sin® I{(cos ¢)In( rry /ry1y)
—sinf(é) ~ ¢, — ¢+ ¢4)} (3.47b)

For a vertical dike with N-S§ strike, Equations (3.47)
become

Z=~2kF,sin (¢, — ¢, — ¢y + ¢,)  (3.48a)
F= —2kF sin" I($, — ¢, — ¢ + ¢)} (3.48b)
(c) Dike of limited length. Dike anomalies rarcly
satisfy the criteria for two-dimensionality (strike
length > 104, where b is width). For a more realis-
tic model (sometimes called a prism model) having a

strike length 2L, D = 0, and ¢ = 90°, equation
(3.44c) becomes

F=kE( sin27sin Bin{( + 1) + L)
~In{(2 + 12)"” - L)
+In{( + 12)* - )

—ln{(r,2 + Lz)l/2 + L”

—(cos? I'sin B — sir? 1)

+tan“‘{

(d) Discussion of principal profiles. Principal pro-
files are shown in Figure 3.18. In Figure 3.18a, the

)

(3.49)

(x - b)(r;,2 + Lz)l/2
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Figure 3.19. Pole distribution in a dike.

dike strikes NE-SW and dips 45°SE. In high mag-
netic latitudes where the H component is small.
strike direction is relatively unimportant. This is
clear from Equations (3.44a, ¢) where, if I = 90°, the
expressions for Z and F are practically independent
of the strike direction .

Figure 3.18b displays profiles for N-§ strike.
Figure 3.18c is for E-W strike. The asymmetry is
less pronounced for north dips than for south dips.
In high latitudes a dike with E-W strike and dip /
gives a symmetrical Z profile and a nearly symmetri-
cal F profile.

Figure 3.18d is for a vertical dike with NW or NE
strike; Z and F profiles for L = oo are similar
because the vertical component of F predominates.
Gay (1967) takes advantage of these similarities and
obtains a single family of curves for F, Z, and H
over the whole range of dips and inclinations, de-
fined by an index response parameter.

Figure 3.18d also shows the total field response
over a short dike. The shape is similar to the other
two curves but with lower amplitude. This profile is
across the center of the dike and normal to the

strike.

It is useful to provide a qualitative explanation
for the character of the profiles in Figure 3.18 based
on pole distribution- where the magnetization is
mainly induced by the Earth’s field. For a dike
dipping east and striking N-§ as in Figure 3.192, Z,
will produce N and S poles along the footwall and
hanging wall, respectively, as can be seen by resolv
ing Z, into components parallel and normal to the
dip. A similar explanation (Fig. 3.19b) accounts for
the more pronounced asymmelry in the profile of the
E-W dike dipping south in Figure 3.18c; the N poles
on the footwall are produced by components of both
H, and Z,. In fact, such a dike tends to be magn®
tized transversely because F, is practically normal 0
the dip axis.

Depth estimates based on width of profiles art
not particularly useful unless the profiles are Sy
metrical and the width is no greater than the deph
to the top face. Under these restrictions the rule for
half-width at half-maximum gives the depth to withi?
20%, that is, x, , = d at Z = Zp,, /2. Several teck
niques based on profile slopes are effective for depth
determination for the dike model (§3.7.11b). Dire*
tion of dip is usuaiiy fairly obvious from the profile
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since we know the total-field direction. The situation When the strike is E-W (8 = 90°), Equations
;s complicated, however, because we cannot deter- (3.50) become
mine in advance the presence and direction of rema-
nent magnetism and we have difficulty in dfaterm_in- Z = 2ltF,(sin(£ + I + 6,) /r,y
ing the zero line for a field profile, that is, in isolating ’
. a single anomaly. A solution to ﬁn.ding the zero line —sin(£+ 71+ 6,) /n} (3.51a)
for the dike model is given in Section 3.7.8. F= —20aF{cos(£ + 21 + ) /n
The dike profiles in Figure 3.18b, ¢, and d were
simplified by assuming infinite depth extent (D = —cos(§+ 21+ 46,)/r,} (3.51b)
o). They are not greatly changed for finite depth
extent unless the depth extent is less than five times
:  the width of the top face, in which case the positive
ils are pulled down slightly. For very shallow dip, .
;gx(l;t stril;se length, and small depth extent (effec- Z = 2ktE, sin I{cos(§ + ;) /r, — cos(£ + )/}
tively a flat-lying plate magnetized transversely), the (3.52a)
ofiles becomes more symmetrical, with a broad _ .
rl:aximum of small magnitude above the plate and F = 2ktF, sin® I{ cos(£ + 6,) /ry

negative tails at the flanks. —cos(§ + 6,)/n} (3.52b)

and when the strike is N-S (8 = 0°),

o If the sheet is vertical, £ = 90° and Equations (3.50b),

¢ 3.6.6. Dipping Sheet (3.51b), and (3.52b) simplify to

t The expressions for Z and F profiles over a thin

sheet may be derived from Equation (3.44) by replac- = 2 ktF, [(1 /1) { sin27 sin B cos 6,

| ing the horizontal width b of the dipping dike model

E with £ csc £, where 1 is the thickness of the sheet. The +(cos? I sin B — sin? I) sin 6, )

| principal reason for considering the thin sheet is that _ . .

§ the expressions are simpler than for the dike and are 1/ rl){ sin27 sin f cos 6,
sufficiently accurate provided the thickness ¢ is not 24 2y

greater than the depth to the top d. The thin sheet +(cos” I'sin B = sin’ I)sin, }]

j geometry is also common in mineral exploration (3.53a)
areas. . ) ‘

i For the geometry shown in Figure 3.20a, the ! = 2keF (sin(21 + 6,) /r, — sin(21 + 6,)/n}

4 result is (3.53b)

. 5 = —2kiF, sit’ I(sinb,/r, - sin6,/r,)  (3.53c)
or a diff

re3192, B Z= 2k11~1[(1/r2) {cos I'sin Bsin( ¢ + 6,)

ootwall 2 The profiles in Figure 3.20 for / = 60° are similar
n by reso +sin Tcos( + 6,) ) to, although sharper than, those for the dike. Rough
srmal to O ' dip estimates are possible when the strike of the
accounts f -(1/7) {cos I'sin B sin(¢ + 6,) body and total-field direction are known. Depth
srofile of 8 estimates from curve widths are fairly good when the
the N pok +sin I cos(¢ + 8,)) ] (3_'503) curves are roughly symmetrical, but not practical
ents of b when the sheet extends to great depth. The half-
la be n»“ F= 2krF,[( 1/n,){ sin27sin B sin(¢ + 6,) :lvlfdt:lss ;;tivfu;u/,?:folr;dhe short vertical and dipping
mal 8 : 7d.
y nor T . When the depth extent is very great, r, = oo and
profiles = ((cos? I si? f — sin’ 1) the sheet is effectively a half-plane. Then for Z and
| I . F we have from Equations (3.50),
es ?:' i Xcos(¢ +6,)}
in the
the n‘]:;t{ ~(1/n)(sin21 sin B sin(£ + 6,) Z = —(2ktF,/r;){ cos Isin B sin(¢ + 6,)
Eth t;)al t +sin Tcos(¢ + 6,)) (3.54a)
seve ~(cos? I'sin? B — sin? 1) . . .
ve for dep ; F= —(2KktF,/r) {sin 21 sin B sin( £ + 6,)
11b). Dit
) the prof Xcos(¢ + 6,)} ] (3.50b) —(cos? I'sin® B — si? I') cos( £ + 6)} (3.54b)
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For this limiting case we can determine the depth
and dip uniquely. Setting dZ/dx = dF/dx = 0, we
obtain the x values for the maximum and minimum

values for Z and F. This yields the following rela-
tions for Z:

Xp/d = 2(cos? I sin® B + sin? I)V2
/(cos I'sin Bsin £ + sin Jcos£) (3.55a)
- 272 : 12

*172/d = {cos? I sin® B + sin? 1)

/(cos I'sin Bcos & + sin I'sin£) (3.55b)

where x = x

ax — Xmin and X, ,, is the full width
at ha]f- m; m 1/2

maximum. Likewise, writing x/,, x{ 2 for the

(c)

Figure 3.20. (Continued) (c) Z profiles for E~ W strike, £ = 45°N and 45°S, § = 90~

F curve, we have
xt,/d = 2{sin? 21 sin? B
172
+(sin? I — cos? I sin? B)z}
/{ sin27sin B sin &
+(sin® I — cos? Isin® B)cos¢} (3.56a)
xX{ p/d = {sin2 27sin? B
172
+(sin® T — cos? I sin® B)z} /
/{ sin 27 sin B cos ¢
+(sin? I — cos? I'sin® B)sin§}  (3.56b)

Combining Equations (3.55), we obtain the dip
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angle &,
tan § = ( —2x;pcos IsinB + x, sin 1)
/(2x,y sin I = x,, cos I sin B) (3.57a)
and the depth,
d= x,,,xl/z/(x,z,, + 2x,2/2)]/2 (3.57b)

When the sheet is not two dimensional, we can
modify Equations (3.50) for a length 2L. Then the
principal profiles for Z and F become

Z = 2kLE,{(Q + R)cos Isin B + (S + T)sin 1}
(3.58a)

F = 2keLF,{ (Q + R)sin2[ sin f)
— (S + T)(cos? I'sin* B — sin* 1)} (3.58b)

where

0 = sin(¢ + 6,)/{ (7 +12))
— sin(£ + 0,)/{n( + 12)*)
R = { xsin® § cos §/( x* sin® € + L*)}
x { cot(£ — ) /(2 + 2)"?
~cot( - )/ + 1))
S = cos( ¢ + 492)/{r2(r22 + Lz)l/z}
— cos(£ + 8,)/{n(r + 2)"?
T = { xcos? §sin /(x?sin’ £ + L?)}
x {cot(¢ ~ ) /(r + 1)
- ot - 8)/(f + 7))

The profile is reduced in magnitude but otherwise
unchanged in shape.

(3.58¢)

3.6.7. Horizontal Sheet (Plate)

When the sheet is horizontal (see Fig. 3.21a), £ = 0,
d becomes the depth of the sheet, and Equations
(3.50) give

Z = —2ktE,[(1/r,)(cos I sin B sinf) + sin I'cos 6,)
—(1/r,)(cos Isin B sind, + sin I cos 8,)]
F= —2kF,[(1/n){sin2] sin B sin6;
—(cos? I'sin® B — sir? I)cos 8, }
—(1/n){ sin21 sin Bsinb,
—(cos? I sin® B — sin? I)cosb,} |

where 2 = x2 +d% r}=(x-1)+ d?, sing, =

Magnetic methods

d/r. cosl, = x/r;, sinb, =d/r,, and cosb, =
(x — )/r,. Eliminating 6, and ;. we get

Z = —2ki,[(1/n) (dcos I sin B + xsin T)
—(1/n)}{dcos Isin B+ (x = 1)sin 1}]
(3.59)
F= =2kiE[(1/n)*{ dsin2l sin
~x(cos? I'sin® 8 — sin® 1)}
- (1/n)Y*{dsin2lsinB ~ (x = 1)

X (cos? I'sin? B — sin 1)} | (3.59)

Figure 321 shows profiles for horizontal plates.
In Figure 3.21a, a shallow plate striking north—south
produces a symmetrical Z profile. The F profile (not
shown) is the same as the Z profile but reduced in
magnitude by the multiplier sin 1. It is not possible
to make good depth estimates from the width of
these curves, but other techniques are available (see
§3.7.8 and §3.7.11).

Over a horizontal thin sheet of finite strike length
2 L. Equation (3.59b) becomes

F= —2k|(dsin2isin B
—x(cos? I sin* B — sin® I) }
/n(i+ /)"
—{dsin2IsinB —(x—1)
X (cos? I'sin* B — sin* I) }
(1 + r2/12)"] (3.60

Total-field profiles for the thin plate, illustrated in
Figure 3.21b for infinite strike length and for 2L =
4], are remarkably similar. (This is also true for
gravity profiles over a thin plate.) Unless L < {, the
finite length does not affect the curve more than 20%.
Use of both the bottomless dike and the thid
sheet models vields minimum and maximum depths,
respectively, for d. Sharpness of the peak is charac
teristic of a shallow plate compared with the dike.

3.6.8. Semiinfinite Horizontal Sheet:
Fault Approximation

If r, (or r,) approaches infinity, / becomes very larg’
and Equations (3.59) reduce to one term for a scou
infinite sheet. Profiles for vertical component and
total field arc illustrated in Figure 322. In Fig“f‘_

322a, the strike is NS with 7 = 60°: both curvey
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S
)
- sin 1)) sl
(x-1) i
] (3.59%) ol
atal plates ol o7 ,3'
orth—south 4_1_ n= 673 s
profile (n | T‘
reduced i ! l
ot possible
e width d @ .
ailable (se Figure 3.21. Thin horizontal plate of finite width, t/l = 0.125. (a) Profiles for / = 60°,
B = 0° and 90°, d/I = 0.25.
trike lengt
are antisymmetrical. The response in Figure 3.22bis  where
similar to those from targets with steep dip. Both
E-W profiles provide good depth estimates: d equals 2 2 2
) . = +
half the horizontal distance between Z,,,, and Z . wo=did (x+dootf)
o I)} (or F,,, and F,; ). This measurement is 25% too r$=D?+ (x+ Dcot £)?
large for the N-S profile (Fig. 3.22a).
b It is necessary to traverse a considerable distance .
 before the magnetic background is reached. For ex- F.Or a vertical faull, Z and F profiles are shown
- ample, when d = 30 m, the survey should extend at Figure 3.23a. Responses from normal faults are
in? I)} least 800 m either way from the c&ge of the sheet. In similar to these examples regardless of strike, bu‘t a
practical situations this often cannot be donc be- profile over a reverse fault reflects the concentration
(3.6cause there are likely to be other magnetic features of anomalous material in the area Of. oyerlap and
in the vicinity. ‘ resembles the response of a steeply dipping target.
Justrated If we introduce another semiinfinite sheet at a An estimate of the depth to the upper bed can be
d for 2L different depth, as shown in Figure 3.23, we have an made in terms of x,, half the distance bew{eep
so true [ ppproximation to a fault. When the fault plane has Z""”‘. and Z,;,: 0.5 < 172/ d = 1’251 The loyer Limit
SO tr Hip £, Equations (3.59) give applies when the lower bed is only slightly displaced;
s L<l 0 g the upper limit applies when D/d is large. When the
re than 2 -Zkll':.[(l/r]z){ d cos I'sin B fault-planc dip £ is fairly steep, ¢ = 90° and D can
nd the be estimated from
num depth +(x + dcot £)sin 1}
ik is chara —(1/r2 )
be dike (1/72){ Dcos Isin g D = x,,[ 2,(1 + x2,,/d%)
+(x + Dcot§)sin 1) (3.61a)
E. 5 A ] /{ le/z( dZ/dx) max
t = ‘2klf;[(l//'1){ds1n213inﬂ
- 2 2
=(x + dcot§)(cos? I'sin® B — sin? 1) } Zo(1+xipsa?)). - (362)
ies very las ~(1/% . .
1 for a se /13 ){ Dsin21sin B where Z,, = Z,.. = Zuin and (dZ/dx),,, is the
ponent =(x + Dcot £)(cos? I sin* B — sin I) } ] maximum slope. o )
2. In Fig (3.61b) The fault approximation in Equations (3.61) is
both cur .

accurate to within a few percent provided d is larger
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Figure 3.21. (Continued) (b) Profiles for
I=15° R =45° d/l = 2.

than 2s. When this assumption is not valid, it is
necessary to use the dike model (§3.6.5). With r, = r,
= oo and ¢, = ¢, = 7, the Z and F expressions for
the horizontal slab are identical to Equations (3.44)
to (3.48) with the terms in ry. 7, ¢, and ¢, omitted
(see Fig. 3.24). Figure 3.24 shows F profiles over a
single horizontal bed with N-S strike and face an-
gles of 45° and 135°. The curves are reflections of
cach other in both axes.

To simulate a fault, we add a similar slab at a
different depth (as in Fig. 2.32), for example, for

(c)

I = 75° B =45° d/l = 05. (c) Profiles for

3.6.9. Cc
Differen
A commo
tact of tw
ues (see I
slab creat¢
contact i§ '
the left wi
tion (3.44),

Z=24k}

_L'
— 7 —t

E-W strike and strike length 2L, we get

Z = 2kF,sin§[Q In(ryry/1y1y)
+R($y — 6, — b7+ 9y)] (364
F = 2kF, sin £[ S In(ryry/ny1y) i
T(6 — b — &7 + 9y)] (36
where Q, R, S, and T are as in Equations (3.54

[Note that ¢ in Egs. (3.63) and in the factors 04
8, and T is the slope of the fault plane.] 1
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E- W strike, | = 60 and 30°.

3.6.9. Contact between Beds of
Different Susceptibilities

A common magnetic structure resulis from the con-
act of two slabs with contrasting susceptibility val-
es (see Fig. 3.25). Because a uniform continuous
blab creates no magnetic anomaly, the effect of the
pontact is the same as that of the semiinfinite slab to
he left with susceptibility Ak = k' ~ k. From Equa-
jon (3.44), we have

=2Ak1~:sin${(coslsin£sinﬂ

get +sin /cos §)In( r /)
+(cos Icos £sin B
Fog)] (36 —sin Isin§)(¢ - ¢,)) (3.64a)
‘ =2Ak1‘:’[sin£{sm213in$sinﬂ
Fgg)] (3 = cos §(cos™ I sin® B — sin? 1) }In(ry/ry)
d +{sin2]cos§sin,8
juations (3 A
2 factors O +sing(cos’ I'sin® B ~ sin’ 1) } (¢, ~ ¢)]
anc.]

(3.64b)

Figure 3.22. Semiinfinite horizontal sheet. F,Z profiles for (a) N- S strike, | = 60°; (b)

Figure 3.25 shows profiles over vertical and dip-
ping contacts of considerable depth extent. When
¢, = n/2, Equation (3.64b) becomes, for a vertical
contact striking N-S

F=2AkF,si* I{ n/2 - tan~"(d/x)}
= 2AkF,sin® Ian™Y(x/d) (3.65)

The difference between the limiting value of F at
x=to0is

AF = F,,

— Fon = 27AKFE, sin? |
The maximum slope occurs over the contact and is
given by (dF/dx),.o =2AkF,sin® I/d. We can

calculate the susceptibility contrast and depth of the
bed:

Ak = AFsit® I/2nF, and d = AF/n(dF/dx),_,
(3.66) i
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Figure 3.23. Thin-sheet fault approximation; D = 2d, | = 60°. (a) F.Z profiles for verti-
cal faults striking N- § and SE- NW (B = 0°,45°). (b) F profiles for normal and reverse

faults striking E- W; fault dip 45,135°.

This calculation is not simple in practice because
long traverses are required to locate Fy,,, and Fy,
and they are usually obscured by other anomalies.

The curve in Figure 3.25a for E-W strike is
similar to profiles over dikes dipping east (Figures
3.18b and 3.20b) and it would be difficult to recog-
nize that it represents a steeply dipping contact. In
Figure 3.25b, a contact with a slant face produces a
curve that gives some indication of the model. One
curve (broken line) also resembles a dipping sheet;
the other resembles a dipping dike.

A gradiometer profile of dF/dx defines the loca-
tion of a vertical contact better than either Z or F

profiles. The depth is equal to the separation of
maximum and minimum values.

3.6.10. Demagnetization

In the preceding examples, we assumed that the
induced magnetization is the product of k, the vok
ume susceptibility of the body, and the external field
F, In fact this is true only for rod-like shape
magnetized along the axis and having a cross section
small in comparison to their length, such as the
dipole of Equations (3.37). In general, the resultast
field inside the body is different from F,. This i
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Figure 3.24. F profiles for a semiinfinite horizontal slab striking N- S, | = 45°, dip of
slab terminus 45 and 135°, D = 3d.
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usually called demagnetization. The effect can be
accommodated by replacing the susceptibility k by
an apparent susceptibility k:

k,=k/(1+Nk) O<N<dn (3.67)

Maximum demagnetization occurs in thin sheets
magnetized normal to the face; in this case, N = 4.
For the sphere N = 4x/3. The efect is quite small
unless k > 0.1 SI units. Demagnetization is signifi-
cant only in massive pyrrhotite and in rocks contain-
ing > 5-10% magnetite. Sometimes an additional
factor of (1 — cos? Dcos? AI) is included to allow
for the resultant magnetization being in a different
direction from I AJ is the difference in inclination
and D is the declination.

3.7. PROCESSING AND INTERPRETATION

3.7.1. General

Magnetic survey results are displayed as a set of
profiles or a magnetic contour map. In sedimentary
areas there may be some similarity between magnetic
and gravity maps, but in general magnetic anomalies
are more numerous, more erratic, less persistent, and
of larger magnitude than gravity anomalies. Conse-
quently, regional-residual separation is much more
complex. Considerable success has been achieved
with bandpass, matching, and nonlinear filter opera-
tors. Downward continuation is not suitable in areas
of complex shallow magnetics, characteristic of min-
eral exploration regions. It might be used for esti-
mating the thickness of sediments in petroleum sur-
veys, but it is not used much for this purpose.
Instead, depths are determined by semicmpirical
depth rules or techniques like Werner deconvolution.
Second-derivative analysis is useful in mineral
prospecting to enhance small-scale features near the
surface, whereas upward continuation may be used
to suppress them. Upward continuation may also be
used to reduce topographic effects in ground mag-
netic work. Equation (3.33) is a crude form of up-
ward continuation.
Aeromagnetic data are often treated as follows:

1. Reduction of data to a uniform grid by one-
dimensional interpolation perpendicular to flight
direction.

2. Preprocessing, which might involve continuation,
calculation of derivatives, extraction of the verti-
cal component, and so forth.

3. Summation of several profiles to attenuate back-

ground noise.
4. Filtering and setting a threshold to locate anoma-

lous areas.
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5. Analyzing the profiles for the locations and oriey.
tations of anomalies.

6. Interpolating profiles normal to strike and cep. |

tered on anomalies, for more detailed analysis.

7. Comparing profiles with curves developed froy, !

models.

Comparing field measurements with the resuly |

expected for simple models, such as discussed iy
Section 3.6, is done to determine the location, depth
size, shape, attitude, and, possibly. the susccp(ibi]i[y

of the magnetic bodies responsible for the anomalie, |

Although simplified both geometrically and with re.
gard to magnetization, matching curves ( parametric
analysis) with model curves provides reasonably
rapid analysis and may be sufficient, especially where
data are poor and/or incomplete.

Considerable effort has been expended to devel.
ope workable inversion procedures for magnetics,
and, in spite of the nonunique nature of the problem,
several effective algorithms have been developed, to
which numerous references in the literature attest
(Bhattacharyya, 1964; Hartman. Teskey. and
Friedberg, 1971: Al-Chalabi, 1971: McGrath and
Hood. 1973; Barnett, 1976; Teskey, 1980). Werner
deconvolution (§3.7.10) is one such algorithm. The
conventional starting point for magnetic data inver-
sion might be a least-squares fit, ridge regression
(Leite and Leao, 1985), and so on. as in Section
2.7.9, but magnetic inversion is more complex than
gravity inversion because there are more variables.

3.7.2. Crude Interpretation and
Structural Aspects

Because of the erratic and complex character of
magnetic maps, interpretation is often only qualita-
tive. Indeed, interpretation is something of a fine art
An interpreter cxperienced in magnetics can usually
sec structure merely by looking at a magnetic map,
much as one can visualize surface features from the
contours of a topographic map. Frequently magnetic
fcatures are rather directly related to surface out
crops and a magnetic map may be a fair substitute

for a surface geology map where surface features art ]

obscured by alluvium. Often there is a connectiot

between magnetism and topography. as well as with ¥

buried geologic structures, particularly in minerd
exploration areas. A visual study of the magnetic
maps can be fruitful for preliminary interpretation
In this regard, experience is essential. Remanen!
magnetization, however, can produce significant of
fects and lead to incorrect interpretation if over
looked.

In sedimentary regions, particularly where ti¢
basement depth exceeds 1,500 m, the magnetic co
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and orien. | (ours are normally smooth and variations are small,
reflecting the basement rocks rather than near-surface
+and cen.§ rogtures. The larger anomalies usually are caused by
nalysis, susceptibility variations rather than basement relief.
sped from§ (onsequently, anomaly magnitude is not of much
value in finding basement depth, and depth calcula-
the resulyf tions are usualljf based upon anomaly shape mea-
scussed inf surements, especxall.y sharpness.
ion, depth, . Regions wlfere igneous and metamorphic rqcks
iceptibility redominate, hke'lhe Precambrizu! Canadian Shield
anomalieg § and the Appalachians, usually exhibit complex mag-
«d with re: ; netic variat@ons. Deep features are frequently camou-
parametric flaged by higher frequency magnetic effects origin'at-
ceasonably ing nearer the surface. Techniques for separating

deep and shallow anomalies are similar to those
discussed for gravity features in Section 2.6.

Magnetic anomalies often lie in trends. From a
study of aeromagnetic maps of primarily sedimen-
> problem § 121y areas in western and central North America and
eloped. u;  Venczuela, Affleck (1963) found that the dominant
direction within single magnetic—tectonic provinces
¢ is usually NE-SW or NW-SE and the trend nor-
mally terminates at the province boundaries. Moder-
ate to weak features trending E-W or N-S often are
superimposed on these. These weaker trends fre-
quently extend across province boundaries and are
probably of more recent origin. A cursory study of
the Canadian Appalachian region (the Maritime
provinces and eastern Quebec south of the St
Lawrence) and northern Saskatchewan and Alberta
appears to confirm the trends. Large-scale northeast
E trends are obvious on the east and west flanks of the
: Canadian Shield.

| to devel
magnetics,

ariables.

3.7.3. Data Processing Operations: The
Fourier Transform

As with gravity and seismic data processing, mathe-
matical operations, such as convolution and correla-
tion, can accomplish filtering, residualizing, continu-
ation, and so on. Operations can be performed in the
4§ spatial, or wavenumber, domain (often called the
frequency domain because wavenumber is spatial
frequency). Fourier transforms (§A.9) are particu-
 larly useful in magnetics for (i) resolution of specific
anomalies by downward or upward continuation, (ii)
changing the effective field inclination (reduction to
the pole) or conversion of total-field data to
V_ertical-componenl data, (iii) calculation of deriva-
§ Uves, (iv) general filtering ~ separating anomalies
[} caused by sources of different size and depth, and )
§ Modeling (Bhattacharyya and Navolio 1976). For
literature on transformations of potential field data,
see Dean (1958), Bhattacharyya (1965, 1966), Gunn
(1975), and Spector and Grant (1985).
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We usually write relations using two-dimensional
Fourier transforms f(x, y) & F(u,v) (Eq. (A.57))
in the form

f(x,y) = (1/2’7)2ffF(u,v)eﬂ”(""*”") dudv
(3.68a)

F(u,0) = [ [£(x, y) e dxdy (3.68b)

(x, y) are spatial coordinates and (u, v) are wave-
number coordinates.

The important characteristic of transformations is
that information is not lost in the process, and in
many cases operations are easier to perform in the
transform domain. For example, the output—input
expression g(x, y) = f(x, y)*w(x, y) for convolu-
tion in the spatial domain is (§A.10)

8(x,9) = [ [f(x = y = BYw(a. B) dudp
(3.69a)

where w(ea, B) is the convolution operator (also
called a weighting function or filter). In the wave-
number domain, this becomes simple multiplication:

G(u,v) = F(u,v)W(u,v) (3.69b)

The relations between sources and their potential
fields may be considered convolution operations, and
transforms can be used to determine source charac-
teristics from field operations, as discussed in the
following sections.

3.7.4. Derivatives

Derivatives tend to sharpen the edges of anomalies
and enhance shallow features. First and second verti-
cal derivative maps are the most common ones made.
Derivative maps may be made by the same tech-
niques used for gravity data (§2.6.5). The first verti-
cal derivative is also measured in gradiometer sur-
veys.

3.7.5. Continuation

Ficld continuation was discussed in Section 2.6.7 as
it applies to gravity. Adapting Equation (2.48) to
magnetics, we have, for upward continuation (where
z is positive downward),

F(x',y', = h)

=;/f{(

F(x, y,0) dxdy

x=x)V+(y=—y)+n
(3.70)

}1/2
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Table 3.2. Coefficients for upward continuation.

K(r.1) K{(r.2) K(r.3) K{(;4) K(55)

N

0.00742

0.02566
0.02509
0.05377
0.04611

0.07784
0.11986
0.16159
0.14106
0.09897
0.14458

0.0114

0.03908
0.03566
0.07450
0.05841

0.09173
0.12915
0.15474
0.12565
008323
0.11744

0.019%1

0.06592
0.05260
0.10563
0.07146
0.10226
0.12921
0.13635
0.10322
0.06500
0.08917

0.04034
0.12988
0.07588
0.14559
0.07651
0.09902
0.11100
0.10351
0.07379
0.04464
0.05998

- O

011193
0.32193
0.06062
0.15206
0.05335
¥13  0.06586
5 0.06650
v50 0.05635
¥136 0.03855
¥274 002273
10 25 0.03015

= =
oY Ne

DNV W =20
A
(=]

The left side is the total field at the point
P(x', y’, — h) above the surface on which F(x, y,0)
is known. The calculation procedure is to replace the
integral with a weighted sum of values taken on a
regular grid.

The empirical formula of Henderson (1960) gives
the field at the elevation & above the surface in terms
of values F(r;). the average value F(r,) over a circle
of radius r, centered at the point (x, y,0):

F(x.y.—h) = LF(r)K(r,— k) (3.7)

where K(r;, — h) are weighting coeflicients (listed in
Table 3.2 for h = 1 to 5). These coefficients give the
upward continued field within 2%.

Another solution for continuation (in either direc-
tion) is by means of a Maclaurin expansion [Eq.
(A.40)]:

F(x,y. h) = F(x,y.0) + hdF(x, y.0)/0:z
+(12/2!) 82F(x, y,0) /32>

+(h%/3Y) 3*F(x, y.0) /32> + ---
(3.72)

{compare with Eq. (3.33)]. For a first approximation,
the first two terms involving F and dF/dz are often
sufficient, and the simultaneous measurement of to-
tal field and vertical gradient provides these values.
The d%F/dz? term can be found from maps of F, as
indicated in Section 2.6.5, and, if necessary. the
33F/3z term can be found in a similar manner
from maps of dF/dz.

The Fourier transform provides another tech-
nique for field continuation. The integrand in Equa-
tion (3.70) is the product of F(x, y,0) and
(h/2m){(x — x)* + (y — y)* + h?*}73/2 Using
the symmetry theorem [Eq. (A.60)] and the convolu-
tion theorem [Eq. (A.67a)], we get

X(1) V(1) & 2ax(~0) » y(~w)
= 2mx(w) * y(w)

Magnetic method

Thus, applying this result and Equation (A.62), we |
obtain for the transform of Equation (3.70),

F(u,v) =(-2n/uw)F(u.v)«¥{(u,v)
Gm)

where F,(u, v) & F(x'. y'. — h), Fy(u,v) o
F(x, »,0), and # (u, v) « w(x, y) = (h/27)(x? +
v+ k2"

The continuation filter is

#(u,v) = (h/217)f/( x4+ p? 4 h?) s
xg«j21r(ux+vy) dxdy

- (h/zﬂ,) e—2ﬂh(!12+u2)3/2 (374)

For upward continuation, we know Fy(x, y.0)
and the unknown is F,(x, y, — &), whose trans
form is

Fp(u,v) =F(u v)(h/2m)

Xexp{ ~2ah(u? + 1:2)1/2} (3.75)

-

Thus the calculation of %,(u, v) is straightforward,
Hanson and Miyazki (1984) use a continuation
method that is effective where surface relief is large |
and rocks are highly magnetic. As in gravity, upward |
continuation smooths the data, whercas downward
continuation emphasizes high frequencies.

3.7.6. Spectral Analysis

The Fourier transform expresses a magnetic field a
an integral of sine and/or cosine waves, each defix
ing a wave of amplitude A(x) and phase ¢(x), wher
x/2m = 1/X is the wavenumber. Plotting A4(x) givs
the amplitude spectrum and A%(x) gives the powes
spectrum.

The expression for the field of an anomalow
body often can be written as the product of thret
functions in the wavenumber domain (their convolt
tion in the spatial domain):

(i) f,. amplitude factor, which is equal to (47M ¥,
where M is the magnetic moment/unit volum

@ii) f,. the depth factor, exp{—2h(u? + v*)'/*}
where # is the pole depth.

(iii) . the field-orientation factor. {/cosf ’;
msin B)2 + n? = (lu + mv)?/(u® + v*) + 1
where B is the angle between the body’s oric®
tation and magnetic north and /, m, and n 8
the direction cosines of the field F,. ‘

or, in
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For bodies that are large compared to their depth,
we require two additional factors:

(iv) The size factor: for a rectangular prism,
(sin ua sin vb)/(ua vb)?, where 2a and 2b are
the prism dimensions.

) The po]arization-orientation factor involving the
direction cosines of the polarization vector.

We thus write the field of 2 point pole or dipole in
terms of factors (i) to (iii) as

F(x,9.0) = f,(x, p)* fi(x. y, h) % fo(x, »)
(3.76a)

or, in the wavenumber domain,

F(u,0.0) =F(u,0)F(u,0,h)F(u,v)
(3.76b)

The effect of any of these factors may be removed by
deconvolving in the space domain or by dividing in
the wavenumber domain.

Numerous other filter operations can be used to
separate deep from shallow, large from smail, and
three-dimensional from two-dimensional effects.
Gunn (1975) discusses a solution for the magnetized
rectangular prism. Hahn, Kind, and Mishra (1976)
estimate depth from Fourier spectra.

3.7.7. Reduction to the Pole

This operation changes the actual inclination to the
vertical. It can be performed (Baranov, 1957,
Spector and Grant, 1985) by convolving the mag-
netic field with a filter whose wavenumber response
is the product of a polarization-orientation factor
and the field-orientation factor in items (v) and (fii)
of Section 3.7.6. This transformation simplifies
total-field maps and is a relatively easy operation at
high magnetic latitudes where Z = F, but becomes
more difficult near the magnetic equator (Silva, 1986).

3.7.8. Use of Master Curves for Dikes of
Great Depth Extent

It is often difficult to establish a background or
datum level for magnetic measurements and to lo-
cate a dike with respect to the profile. Hence, match-
ing field results with profiles obtained from simple
shapes can be difficult. An analysis (Koulomzine,
Lamontagne, and Nadeau, 1970) for prisms and
d{kes of infinite depth extent solves this problem
v{lth master (or characteristic) curves that give depth,
Rdip, and width of a prism or dike.

. We rewrite Equation (3.44a) making the width 26
fostead of 5 (Fig. 3.18a) and shifting the origin to a
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point above the midpoint of the top of the dike. If
we assume infinite depth extent so that r, = r, = o0,
¢, = ¢, we have
Z = 2kF,sin {{(cos I'sin £ sin B
+sin Tcos £)In(ry /1)
+(cos Icos £sin B
—sinI'sin£)(¢) — ¢y)}
where r2 =d*+ (x + b)?, it =d*+ (x — b)%
¢, = cot™x + b)/d, and ¢, = cot™!(x — b)/d.

Dividing by d to obtain the dimensionless parame-
ters X = x/d and B = b/d, we obtain

Z = M{cot™}(X + B) — cot™!( X — B)}
+(N/2)m[{(X - B)* +1}
Ax+BY+1)] 37
where
M = 2KF, sin £ {(cos I sin B cos £ — sin I sin £)}
and

N/2 = 2kF,sin £ {(cos I sin B sin ¢ + sin Fcos £) }

The first term is the symmetric component S and the
second term is the antisymmetric component A.
Over the center of the dike, S has a maximum and
A=0.

If we chose two conjugate points X, and X, on
the dike profile such that the sum of the Z values is
equal to Z;, the value of Z at X = 0, that is,

Z, + 2, = Z, (3.78)

Then, because

(S +4) + (S +4;) =(SH+4) =5
we have
S+ S =S8=2Z A +A4,=0 (3.79)
For the antisymmetric component,
[ {(X - B +1)/{(X + B)* +1}]
S+ [{(X, - B) + 1)
(X + B +1}] =0
{(x, - B +1}{(x, - B)* +1)
={(x+B)+1}{(x,+ B)* + 1}
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Figure 3.26. Two-dimensional dike of infinite depth extent. (a) Location of conjugate

points and X = 0.
Solving for X; X,. this gives

X X, = —(1+B?%) (3.80)
Initially we do not know either the location of the
dike center, X = x = 0, or the datum level Z = 0.
Two pairs of conjugate points, X;, X; and X3, Xy,
are chosen such that Equation (3.78) is satisfied, and,
in addition, Z, — Z, = Z) — Zyin =€ and Zg,,
— Zy = 2y — Zy, = E (Fig. 3.26a). Writing / = Xy
— X, m=X,— X,, n=X, — X;, and using the
relation X, X, = X; X, [Eq. (3.74)], we find that

X, =n(n+1)/(1-m+n)

X, = —-m(l—m)/(1—m+n)

Xy =mn/({~m+n)
Xe=(m—=D(n+1)/(I-m+n)

(3.81)

We can now locate the point X = 0 and get Z,. For
the best accuracy, X; and X, should be located close
to the midpoint of the anomaly, and X; and X, near
the maximum and minimum. Z(0) is the point on
the profile located a horizontal distance X3 from Z;,
X, from Z,, and so forth. Thus the datum line
Z = 0 can be drawn at a distance above Z;, equal
to the vertical distance between Z,,, and Z,. This

follows from Equation (3.78) if we put Z, = Z,,
and Z, = Z,, thatis, —Z, = Zp — Zy.

The analysis may now be carried further to estab-
lish the dike parameters. First, from the definitions
of symmetric and antisymmetric functions,

S(x) = (1/{Z(X) + Z(-X)}
A(X) = (1/2)(Z2(X) - 2(-X)}

we can plot S(X) and A(X) by taking points that
are equidistant either side of X = 0. On these pro-
files we mark points S; 4, Sy 5, and A, ,, ith corre-
sponding abscissae X4, Xy, and X, also X
(Fig. 3.26b). By a development similar to that used
for Equation (3.81), it can be shown that

and } (3.)

d=x,(¢"—1)/2=2x,D
2y 1/2
w=xp(e-(#-1)7} =2mpW (389 |
d=x,(1-p)/2u=2x9
2= x (42 = (-0} /um2xH
where ¢ = X, ,3/%3 /40 b= X./Xop2s D= (¢* - 1)/4. ]
9= - p)i/ap, W={4- (8" - )/,

W= (1/2p){4* - (1 - p) }1/2‘ X12 T X
and so forth. Finally, we can find the dip angle f |
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from the relation

H,sinﬂ)

(4

E=a - cot"(
A(X) max

S(X) max

. 4tan”! B
n{(x. - B)/(x, + B))

+ tan“{

} (3.84a)

or

H,sin B
V4

e

-1 A(X) max
T {S(X)m

. 4tan~! B
1“{("1/2 - B)/(xl/l + B)

Six master curves involving functions of d, b, and
¢ for the symmetric and antisymmetric components
of the dike profile are shown in Figure 3.26c. The
dip-angle functions P and 2 in Figure 3.26 are
related to known quantities in the following expan-
sions of Equation (3.84):

¢— {7 — cot™(H,sinB/Z,)}
= tan"!( &P) or tan~}(£#P), (3.85a)
where &= A(X)pax/S(X) max-
P 4tan~Y(W/2D)
In{(1 - W)/(1+ W)}
e dtan~ Y (#/29)
In{(1-#)/(1+#)}

Because Equation (3.83) gives W, D, #°, and 9 in
terms of ¢ and g, and these in turn can be found
from the curves, P and & are fully determined.

We can solve for the total-field anomaly in simi-
lar fashion. The analysis for the dike of infinite
depth extent has been extended to cover a prism of
finite length and depth extent. Because of the extra
terms, it is necessary to provide more master curves,
but the procedure is similar. Master curves for other
models are also availabele (Grant and Martin, 1966
Martin, 1966: Gay, 1967). The second reference con-
tains the following models, in addition to the prism:
horizontal slab, plate, rod, and dipping sheet. (The
method can be extended to dikes or prisms in gravity
interpretation.)

t=a- cot"(

] } (3.84b)

(3.85b)

3.7.9. Matched Filtering

Where the problem is locating a signal in a data set,
matched filtering provides a powerful method if the

Magnetic methiods

spectrum of the sought-for signal is known. A
matched filter is a filter that has the same spectrupy
as the sought-for signal. Onc way to carry oy
matched filtering involves using the Hilbert trang.
form (Sherifl and Geldart, 1983: §10.3.11) to sepa.
rate the symmetric and antisymmetric anomaly con.
ponents (§3.7.8). Both total-ficld and gradient daty
may be processed in this way (Naudy, 1971
Nabighian, 1984).

3.7.10. Werner Deconvolution

Werner (1953) proposed a method for isolating 5
magnetic anomaly from the interference produced by
ncarby anomalies. This led to automated procedures
for interpreting magnetic data, now known as Werner
deconvolution (Hartman, Teskey, and Friedberg,
1971; Jain. 1976: Kilty, 1983).

The magnetic anomaly for a dipping dike can be
written in empirical form as

also ¢

Tl
sucliﬂ
lack ¢
arela
The ¢
ment
ter in
techj
the co
quant]
b

3711

F(x) = { M(x — x¢) + N:}/{(.\' - x) + zz]
(3.86a)

where xg is the surface point dircctly above the
center of the top of the dike, z is the depth to the
top. x is the point of measurement. and the x axis s
normal to the strike. M and N are unknown func
tions of the dike geometry and mineralization. Rear-
ranging Equation (3.86a) in the form

@) Srr

27.12,

X2F(x) = ag + ajx + b F(x) + byxF(x) anoritd
(3.86b) magne

tion A

where ay = —Mxy + Nz, ay = M, by = —x} - 2, necess!

1M

and b, = 2x,, we find that xy=0,/2 and z= e
ute

(—4by — b})/? /2. Thus we can determine x, and z
by measuring F at four stations and solving Equa-
tion (3.86b) for ay, a,. by. and b,.

Extending the problem beyond an isolated
anomaly. Werner assumed that the noise or interfer-
ence caused by neighboring magnetic anomalics
could be taken into account by extending the poly
nomial, so that the measured field % becomes

F=F(x) +cg+ex+ - +ex" (38])

factors}

For:
finite ‘Iac
magnetj

i

where F(x) is given by Equation (3.86a) so thal
(n + 5) unknown quantitics arc involved. Usually s
the polynomial is first or second order only, so that
six or seven stations are sufficient for a solution.
The scope of this analysis has been enlarged 10 ;
include models other than dikes: basement topog#
phy. magnetic interfaces (which use dF/dx rathe’ §

expressi

|
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is known, ‘ Table 3.3. Empirical depth estimation methods for magnetic anomalies.
same Speciy
to carry 4 Method Half-width Peak-to-Zero Vertical grad.  Flank slope
Hilbert try Component F,OF/dz, F.z
).3.11) to sg measured F,Z F.Z H Z,32/3z
> anomaly ¢y
i gradient g Model
audy, 19 Monopole 1.3, 1.3x%00 —2F/(3F/dz)
(Naudy Dipole 2x14 13/%052  —3F/(3F/3z)
Monopole line  x, X0 - F/(3F/3z)
Dipole line 2X1/2 Xp0 —2F/(3F/dz)
General 075 x,,513 Xy —-nf/(dF/3z) 05 <x, <15
for isolatiny Note: x,,, is the full width at half-peak amplitude, x,, is the horizontal distance
oduced from peak to zero-crossing, n is an empirically determined index factor, and x, is the
ace pr horizontal distance over which slope is straight line.
ated proced
mown as We

pan F), faults, and contacts. This type of analysis is
Riso suitable for gravity interpretation.

There are limitations to Werner deconvolution,
uch as resolution between neighboring bodies and
ack of discrimination among parameters, leading to
b relation between, say, dip angle and susceptibility.
he data are sensitive to geological and measure-

r in depth and position estimates). However, the
bchnique is attractive because of case of access to

the depth to

eralization. R§7.11. Depth Estimates

m b) Smith rules for maximum depth.  As in Section
7.12, which dealt with depth estimates for gravity
+ + bixF(x) homalies, there are corresponding limiting values in
(3 Qagnetics derived by Smith (1961). If the magnetiza-
pn M is parallel throughout a body, though not
b= — x% essarily uniform or even in the same sense, and if
= b1/2 and Imx! laZ/axlmaxy and Iazz/alemax arc abso-
stermine x, aff¢ values of the maxima of M and the first and
nd solving Bfond derivatives of F or Z along the x profile,
pn the depth z, to the upper surface is given by
ond an is0
. noise or inty Z, < SlMlmu/laF/axlmax 388
\gnetic anon 2 < 0\M o 1OF? /057, | OO0
ctending the §
F becomes

f Z profiles. where M is everywhere vertical and
the same direction (down or up), the numerical
ors are reduced to 2.6 and 3.1, respectively.

or two-dimensional magnetic features having in-
m (3.86a) softe length in the y dircction, in which the total
involved. Uspnetization is parallel throughout, the equivalent
order only, sofiessions become

R +Cr|xn (

nlar
)b:::r[:lee[:n tO Zs 4|M|max/|ap/axlmax } (3 88b)
use dF/dx 2% < 5|M | n/10F2/3%%

Where the body is uniformly magnetized by induc-
tion, we may replace M, by kF, or kF,/(1 + Nk)
as in Equation (3.67).

Because we do not normally have a value of
M., estimates obtained by combining the two lim-
its arc even cruder than the equivalent relations for
gravity. For a semiinfinite thin sheet, the result is
within 50%, but it appears to be even poorer for
three-dimensional features.

(b} Empirical depth rules. A number of rules-of-
thumb for depth estimation have developed from
practical experience in magnetic interpretation. These
relate to profile shapes; for example, they often use
horizontal widths at some fraction of the peak value
for symmetrical curves and horizontal distances from
peak-to-zero values for asymmetric curves. Peters
(1949) was probably the first to relate depth to the
horizontal extent of portions of sloping flanks, and
variations of slope techniques are among the most
popular. The vertical gradient is also used in such
rules (Barongo, 1985). A summary of such rules is
given in Table 3.3.

Slope methods are widely used, especially for
aeromagnetic interpretation. Graphical techniques
use the sloping flanks of profiles to estimate depth
(Nettleton, 1971: Spector, 1979). In Figure 3.27a, S
is the horizontal extent of the portion of the curve
that is ncarly linear at the maximum slope. Two
additional line segments have been drawn tangent to
the profile at half the maximum slope; the distance
between the points of tangency is P. The depth of
the source beneath these portions of the curve is
given by

h=kS 167<k <20

(generally k, = 1.82)  (3.89a)
h=Ik,P (generally k, = 0.63) (3.89b)

The use of both methods provides a check on the
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Flight line

[

Plate

(b)

Figure 3.27. Determining anomaly depth from the slope of a magnetic profile. (a)
Maximum-slope (S) and half-slope (P) measurements. (b} Maximum-slope measure-

ments on a thin plate anomaly.

depth cstimates and the care with which the graphi-
cal analysis is done. This method generally yields
reasonable results for horizontal basement models
with steeply dipping contacts: thus, it is suitable in
the analysis of airborne data. It is much simpler and
faster and provides more depth estimates than analy-
sis by model curve fitting. It can be carried out on
original field profiles and so need not wait on map
preparation; it can also be applied to analysis of
maps (Rao and Babu, 1984).

Use of slope techniques requires corrections.
When flight lines are not normal to the local geologi-
cal strike, horizontal distances are too large and

should be multiplied by a cosine factor. Correction
also has to be made for the flight elevation to givt
values with respect to sea level (or to an arbitrany
datum).

3.8. FIELD EXAMPLES

3.8.1. Ground Surveys

(1) The first example shows the inherent complexily §
of ground magnetic data and the difficulties in acc
rately interpreting them. Figure 3.28 displays ma§
netic contours and two vertical component proiiks
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E Volcanics <

Zz Asbestos fibre zone
_ Serpentimte. Highly
5000 W carbonatized
Scrpcmimlc. Moderately
carbonatized
—~ 4000 - Massive serpentine
[
=
-
N
3000 Ficld profile
Composite theoretical
2000 profile
S -
1000 Surface N

Magnetic methog, |

Figure 3.29. Vertical component ground magnetic profile in an area of asbestos miner-

alization near Matheson, Ontario.

normal to the strike of pyrite mineralization. There
are two parallel pyrite zones in acidic flows, near a
contact between the latter and rhyolite porphyry.
Both have a strike length greater than 300 m and the
zone nearer the contact appears to pinch out on
line 75.

Although the pyrite mineralization is clearly asso-
ciated with a magnetic trend in the area, the large
magnetic anomalies on lines 73 and 75 could only be
due to magnetite or possibly pyrrhotite, since the
susceptibility of pyrite is relatively low (Table 3.1).
However, there is no specific indication of these
minerals in the drill logs of holes 1 to 4.

Because the overburden near the diamond driil
holes was generally quite thick (25 m at T-1, for
example), it was originally assumed to be at least 15
m throughout the grid. However, a shallow seismic
refraction survey carried out later on line 75 showed
bedrock only 1.5 to 3 m below the surface in the
vicinity of the pyrite zones, dropping off abruptly to
15 to 25 m northeast of the acidic flow-rhyolite
contact. Thus the magnetite sources may be very
close to the surface and of small depth extent.

The source for the single 13 pT peak on line 75
appears to be a finite steeply dipping sheet at very
shallow depth. Using Equation (3.58a) with 8 = 45°,
I=170° £=90° and Z, = 36 pT, and fitting the
profiles at three points (including the maximum), we
obtain a reasonable fit with t = d = 8§ m, D = 25 m,
2L =30 m, and k=3 SI unit (Sec Fig. 3.28b).
However, when we try to match the double peak
profile on line' 73 by assuming two vertical sheets of
identical cross section separated by 50 m and induc-
tively magnetized in the earth’s field, Equation (3.58a)
produces the following parameters: d = r = 2.5 m,

Overburden

D=70m, 2L =90 m, k, =13 Sl and &k, =19
SI. This results in a reasonable match of the central
trough and the northeast flank, but the southwest |
flank is much too large. A better fit (shown in Fig
3.28b) was obtained with the two vertical sheets
illustrated, but the trough between them is too deep.
Also. the depth extent must be less than 120 m
because the bodies were not encountered in holes
T-1 and T-3. Although this interpretation is certainly
not definitive, it is clear that the magnetic sources
are shallow, have limited strike length, steep dip, and
large susceptibility contrast. This last fact indicates
high magnectite content and possibly large rema
nence, which may be responsible for the disagree-
ments (Green, 1960).

(2) The magnetic method is particularly useful in
exploring for asbestos because of its occurrence
in ultrabasic intrusive rocks rich in magnetite
When olivine (Mg,S8i0,) is altered to serpentinc
(Mg,SiO;(OH),) and magnesite (MgCO,;) by the
addition of water and carbon dioxide, the asbestos is
associated with high magnetic susceptibility and
massive serpentinite. Figure 3.29 shows a vertical
component profile over an asbestos prospect near
Matheson in northern Ontario and the geologic sec-
tion under a 15 m overburden. High magnetic re-
sponses correspond to the asbestos and massive ser-
pentine zones with lows over the volcanics and highly
carbonized serpentite. A reasonable match to the
field profile was obtained by assuming dikes of con-
siderable depth extent using Equation (3.44a) with
r=r, ¢ = ¢, B=mu/2 and all contacts vertical
except the left one, which dips 30°. The presence of
asbestos in the massive serpentine zones can only be
established by drilling.
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£ 3.8.2. Airborne Surveys

B (1) The Monteregian hills of the St. Lawrence low-
| %and region near Montreal were formed by igneous
® Intrusions into sedimentary rocks. These hills are

tes of colff magnetic as well as topographic anomalies because
44a) witf of their contrast with the low susceptibility sedi-
:ts verli® ments. Aeromagnetic maps (Canadian Government
yresence 88 Aeromagnetic Series, St. Jean and Beloeil) show this
an only

clearly for M. Bruno, Mt. St. Hilaire, Mt. Rouge-
mont, and Mt. St. Gregoire. On the same sheets we

e e
miles
P_/P—- — P Principal profile

{a)

Figure 3.30. Magnetic data for three anomalous areas in the St. Lawrence lowlands,

also see two well-defined magnetic highs that are not
topographic features: one about 5 km west of Mt. St.
Gregoire and a larger one 11 km northwest of Mt.
Bruno. One assumes that they are igneous plugs that
failed to reach the eminence of the Monteregian
hills,

These two features and Mt. St. Gregoire provide
excellent examples of the vertical-prism model com-
monly employed in aeromagnetic interpretation. Fig-
ure 3.30a shows the total-field contours, whereas
profiles are displayed in Figure 3.30b. Two methods
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- Principal profile approx. N-§'
2500 - Mt St Gregoire \ = = ==Vertical prism
a p=9%" z=150m
B k=006,b=20L=790m
5 w0 -2
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0 1 2 [ 4 5 km
2700 . ,
r Anomaly west Prism section ———Principal profile N-S
- - of St Gregoire === =Vertical prism
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< 200} k=004, b=2L=1200m
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2500 k=006 b=4900m 4
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1600L—L 1 Pl Nw ?
0 5 10 15 20 km !
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()

Figure 3.30. (Continued) (b)*Principal profiles, { = 60° and F, = 60 uT.

Table 3.4. Interpretation of anomalies in the St. Lawrence lowfands.

/ k z b 2L
Anomaly (deg) (SI) (m) (m) (m) Source
St. Gregoire 60 004 10 880 880 Vacquier (Fig. A60)
75 005 110 880 670 Vacquier (Fig. A70)
60 006 150 790 790 Equation (3.44c)
Anomaly near 60 0025 230 1,700 1,700 Vacquier (Fig. A6O)
St. Gregoire 75 003 230 1,700 1,250 Vacquier (Fig. A70)
60 004 300 1,220 1,220 Equation (3.44¢)
Anomaly near 75 008 1130 3,660 9140 Vacgier (Fig. A75) "
Bruno 60 0055 1,220 4,880 12,200 Equation (3.44c)

were employed to assess the magnetic characteristics.
One used the models of Vacquier et al. (1951) and
the other used Equation (3.44c) for-a vertical prism.
This allowed calculation of the susceptibility con-
trast k, the depth z, strike length 2L, and width b
by matching the principal profiles. The results, which
fit reasonably well, are shown in Table 3.4 and in
Figure 3.30b. If we assume I = 75° instead of 60°,

the curves have steeper slopes on the south or south §
cast flanks and it is necessary to increase the Jaterd ;
dimensions to match the ficld profiles. In practicd |
interpretations, the depth to the top of the prism i
the most significant dimension. Because flight elevé
tion was 300 m, Table 3.4 puts the St. Gregoire plt
about 150-190 m above ground (Mt. St. Gregoi®
rises to a height of 180 m above ground). The top ol
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Figure 3.32. Generalized flow chart of computerized interpretation. (From McGrath and

Hood, 1973,)

the anomaly near Mt. St. Gregoire is Jjust above the
surface whereas the one near Mt. Bruno is about 870
m below the surface.

(2) The use of high sensitivity aeromagnetic data
has been described by Bhattacharyya (1971). In 1969.
the Geological Survey of Canada arranged an experi-
mental high-resolution survey in the Precambrian
shield of northern Ontario near Timmins that used a
cesium-vapor magnetometer with a sensitivity of
0.02 nT. Control of the survey was much tighter than
in conventional work at the time. Line spacing was
300 m at an average altitude of 250 m and flight
paths were straight within 100 m over 24 km. Double
baselines perpendicular to these were flown in oppo-
site directions every 8 km. The total field was contin-
uously recorded at a ground station. The following
were recorded on the aircraft:

L. Total magnetic field in units of 0.02 nT.
2. Total field vertical gradient in units of 0.005 nT.

. Terrain clearance in units of 60 cm.

. Barometric altitude in units of 3 m.

5. Doppler-radar along-track and cross distances in
units of 50 m.

6. Time in seconds.

W

Data compilation involved the following:

1. Check of in-flight digital data and necessary cor-
rections.

. Calculation of coordinates.

. Location of traverse and baseline intersections.

Adjustment of intersection points.

. Calculation of, and correction for, drift.

. Reduction of data to a common datum.

. Reduction of corrected values for contouring,

NouvawN

A map of a 10 X 10 km portion of this survey is

shown in Figure 3.31d. ‘
Figure 3.31a, a provisional geological map, was l

prepared with help from an earlier ground vertical- ‘
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Figure 3.33. Belec Lake anomaly,

model. (c) Inferred geological cross section.

intensity map (Fig. 3.32b). The bedrock in this area,
cut by numerous N-S diabase dikes, is an Archean
complex of gabbro, granite, and mafic and felsic
volcanics. There are three major fault systems: The
one striking N30°W is the main control for the
diabase dikes, whereas the other two, trending WNW
and NE, appear to have affected the dikes by shear-
ing and deflection.

The ground survey map shows much detail, but
the trends are broken up. The map from a conven-
tional survey. Figure 3.31c, flown with a proton-pre-

Ontario. (From McGrath and Hood, 1973.) (a) Aero-
magnetic map of the anomaly. (b) Profile AB and the anomaly computed from the

cession instrument (sensitivity 0.1 nT) at 300 m with

800 m line spacing, obviously shows much less detail
than the high-resolution magnetic map in Figue &
3.31d. Several pronounced anomalics, probably
to gabbro, are obvious on both aeromagnetic maps:3 '
whereas the ground map does not show them clea

The cost of the high-resolution survey was about si¥
times greater than the conventional aeromagp i
survey, but the difference would be much less today;gl
an equivalent ground survey on 120 m snacing would]
cost five to six times as much. :
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(3) An example of computer modeling followed
¢ procedure diagrammed in Figure 3.32. This mod-
eling minimizes E, the difference between observed,

D(% ¥): and model anomalies T(x, y), at m points
ihro:lgh an iterative adjustment of n model parame-

ters, Gy 92>+ I’

hE(ql.thw--vqn)
i 2
f' =2[D(x.y) ~T(x y.q1. 42, q)]

The minimum of E may be found by the method of
Gauss, least squares, steepest descent, or other tech-
niques. Here it was found by a combination of the
Marquart and Powell algorithms (McGrath and
Hood, 1973). [See §2.7.9 for a similar gravity proce-
dure.]

This example is of modeling a basement anomaly
in the Moose River basin of the Hudson Bay low-
lands in northern Ontario, which is shown in Figure
3.33. The model was a thick, steeply dipping plate.
The Moose River basin contains about 600 m of
nonmagnetic Paleozoic sediments overlying a Pre-
.cambrian crystalline basement (based on seismic and

1957,

123

drilling measurements). The best-fit model showed
an intrabasement magnetic zone at a depth of 900 m,
which corresponds to 600 m of sediment. The mag-
netic body is 1,730 m thick with a strike length of 14
km and dips 82° north; the susceptibility contrast is
0.029 SI, which is typical of igneous rocks. The body
has its polarization vector dipping 64° with declina-
tion 107°. The local magnetic inclination is 79°,
which means that the body possesses significant re-
manent magnetization.

Table 3.5. Vertical-component readings
in serpentine zone.

zZ V4

Stn. (nT) Stn. (nT)
ON 275 8N —40
1 220 9 -10
2 224 10 -15
3 230 1 +100
4 185 12 150
5 185 13 220
6 155 14 220
7 35

===== Road

r Building

' E Fence

1
—— = Power line
( .
|
|
|
|
7L 1
1] 100 m

Figure 3.34. Vertical magnetic ground survey, Noranda area; C.I.= 50 nT. (After Seigel,
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Table 3.6. Traverse in Quebec Eastern Townships.

Magnetic methods

cralization, estimate the depth and cross-section
of the body causing magnetic anomaly from thig

V4 z profile.
Stn. (nT) Stn. (nT) 2. Figure 3.34 shows Z-component contours ob-
W 2,040 oW 7000 Fained from a dct'gjlcfd ground mggngtic Survey
16 2320 7 ~1.060 in the Noranda district, an area rich in sulfides
15 2,080 6 2,720 and graphite. The rocks to the south are rhyo.
14 2,080 5 5,140 lites, rhyolitic breecias, and tufls. To the north
13 1,800 4 4,260 we find basic volcanics and tufls with occasiona]
:? gggg ; g'ggg rhyolite. Where would you expect to find anoma-
10 3: 400 1 2:240 lous sulfides and/or graphite? Arc they shallow
9 —9,500 0 1,940 or deep? If they are sulfides, what varieties can 4
be ruled out? Have the fence and power line
affected the readings to any extent?
Table 3.7. Vertical-component readings across 3. Table 3.6 shows Z-component readings made 3
zinc property. m apart on an E-W traverse in the Quebec
Eastern Townships region. The large anomaly
Stn. 7 Stn. 7 was originally detected during a pace-a.nd—con{-
(ft) (nT) (ft) {nT) pass exercise when the magnetic declination sud-
denly changed by about 110°, an cffect that did !
6 + 00S 45 0 + 505 130 not persist for any appreciable- distance. Inter- /
i 1’ gg 3(2) g:ggN ?g pret the source with regard to location, depth,
4+ 00 50 1400 40 dip, lateral extent, and possible mineral charac-
3+ 50 45 2+ 00 8 ter.
3+00 50 3+00 0 4. Usc a dipping sheet model of considerablc strike
f I % 132 4+00 =5 length to calculate and plot the total field Fand 7
vertical gradient dF/dz, given that D = b = 10d :
and that the structure strikes (a) N-S and (b) B
E-W. in a region where / = 60°. By ncglecting
3.9. PROBLEMS small terms. calculate the approximate maxi- &
1. Chromite is found in serpentine in a certain mum and minimum values of F and dF/dz in .
district. A magnetic analysis of several speci- (a) to check the N-S profile.
mens indicates that there is less magnetitc in the 5. The vertical component magnetometer readings .
chromite-bearing serpentine than in barren ser- in Table 3.7 are from a detailed survey of an old ]
pentine. The Z-component readings in Table 3.5 mining property where the primary metal was §
were taken on a N-S line at 8 m stations. zinc, with some low-grade copper and minor
Assuming a two-dimensional E-W zone of min- silver. Assume that the source of the weak mag:
z
Line 450W 15.000nT
{10,000
5000
0—0—0—0—C—0.. O
~-s000
410,000
=-15.000
| | ] L |
100N 200N 300N 400N SOON 600N

Figure 3.35. Vertical-component ground magnetic profile. East Africa.

0 100 m
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Figure 3.36. Effect of line spacing on magnetic data. (a) Conventional magnetic map,
Cl.= 1,000 nT. (b} Detailed magnetic map centered at 156N, 101F.

netic anomaly is a dike of large strike length and
depth extent and use the method of Section 3.7.8
to determine its parameters.

The vertical-component ground profile shown in
Figure 3.35 is from a large-scale multiple-method
survey for base metals in Tanzania. The geology
is generally Precambrian metlamorphosed sedi-
ments and volcanics associated with granite. In
this region, F, = 0.35 uT, the declination is 4°W,
and the inclination is I = 31°N. Sulfide bodies
with large E-W extent are known in the vicinity.
Interpret the anomaly.

g

7. The magnetic contours in Figure 3.36 show the

effect of line spacing (see also Bhattacharyya,
Sweeney, and Godson, 1979). A small section
from what would normally be considered a de-
tailed ground survey is shown in Figure 3.36a.
Lines were spaced 200 ft apart N-S with station
readings every 50 ft (reduced to 20 ft near
anomalous values). The contours of Figure 3.36a
are elongated N-S because the line spacing is
greater than the station spacing. Some of the

zones were resurveyed in followup work on 50 ft
grids with occasional readings 5 to 10 ft apart
because of the small lateral extent of the anoma-
lies. Three of these detailed grids are shown in
Figure 3.36b, ¢, d.

The differences, particularly in lateral extent,
strike axis, magnitude, and anomaly location, are
very apparent. What are they? Other surveys
have indicated massive sulfides at the centers of
Figurc 3.36b, d but not at 164N, 103E. Given
this additional information, would you conclude
that the magnetic anomalies are directly or indi-
rectly related to the sulfides? Do they have any
association with the sulfides? Would you reach
the same conclusion if only Figure 3.36a were
available? Estimate the depth, lateral cxtent, atti-
tude, susceptibility, and probable content of a
few of the anomalies in all four diagrams. Do
they show evidence of strong remanent magneti-
zation?

. The vertical-component ground magnetic c¢on-

tours in Figure 3.37 were from a survey over a

e el -
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Figure 3.36. (Continued) (c) Detailed magnetic map centered at 164N, 103L.
(d) Detailed magnetic map centered at 160N, 105E.

nickel prospect in northern Manitoba. Zone C is
approximately 4 km NE of zone A. There is
considerable overburden throughout the area.
Electromagnetic surveys showed that both zones
were good conductors. One of them contained
ore-grade nickel sulfides, the other was barren of
sulfides and graphite. Is it possible to distinguish
the economic mineralization solely from the
magnetic results? Estimate the depths of the
main magnetic anomalies in the two zones.

. A copper deposit of limited extent in the Rouyn

district of Quebec produced the Z profiles in
Figure 3.38. Match the profiles to an appropriate
model given that the E-W strike is very limited
and the inclination J = 75°. What is the proba-
ble magnetic mineral?

Figure 3.39 shows four vertical-component mag-
netic profiles from the Manitoba Nickel Belt,
obtained during large-scale base-metal explo-
ration programs. Sulfides and graphite occur in
the Precambrian rocks below Paleczoic sedi-

11.

ments and thick overburden; the mineralized
zones frequently extend for miles.

Diamond drilling has established that the
mineralization associated with two of these pro-
files is pyrite and pyrrhotite, a third is graphite
and pyrite, and the fourth graphite and
pyrrhotite, and that they are located at four
different depths. With this information, use the
magnetic data to locate the mineralized sections
as precisely as you can.

The two ground magnetic contour maps in Fig:
ure 3.40 illustrate the effect of irregular topogra-
phy on magnetic measurements (Oliver and

Hinze, 1985). The arcas surveyed in Figure 340
are only 60 miles apart. The terrain is quit¢ |
rugged in both, as can be seen from the dotted 38
contours, but the geology is entirely different. In
the former, the rocks are sedimentary to gredt §
depth; at the latter site, there arc granites in
most of the north and west parts of the map and §

sediments in the lower ground at the south. It is
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Zone C

thought that the sediments extend for some dis-
tance up the hill in the lower left comer and the
assumed contact between the granites and vol-
canic formations is somewhere in the upper left
portion of the map.

The uniform magnetic response over the sedi-
ments in Figure 3.40a (about 300 nT maximum)
is to be expected because of the low susceptibil-
ity of sandstone and limestones. There is no
Particular correlation between the topographic
and magnetic contours, hence no need for a
topographic correction.

In Figure 3.40b the situation is quite differ-
ent. A definite magnetic contrast exists between
the granites and the sedimentary area, although
the map does not extend far enough south and
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Zone A

Figure 3.37. Ground magnetic contours, northern Manitoba. C.i = 00 nT.

southeast to indicate this clearly. However, a
pronounced magnetic low follows the topogra-
phy from north to south, then west to east,
starting in the upper left area. This is a clear
reflection of the terrain effect on ground magnet-
ics.

Using Equations (3.33) and (3.71), apply the
terrain correction at a few selected points on the
map of Figure 3.40a. For cxample, the 100 nT
low on the steep slope near the bottom of the
map, midway between the east~west boundaries,
lies on the 425 ft contour; if we choose the 600 ft
elevation for z = 0, the value of h will be 175 ft.
Reasonable values for circle radii would be r =
100 ft, r, =200 ft, and so forth. For other
stations, one might select one at the top of the
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Figure 3.38. Vertical-component magnetic profiles, Rouyn-Noranda district, Quebec.

hill, one in the northwest corner, and one to the
southeast. Do these modified Z values aid the
magnetic interpretation in any way?

Repeat the procedure for several strategically
located stations on the map of Figure 3.40b,
particularly in the area of the magnetic lows
following the stream gorge. (Obviously the best
method for handling analysis of this type would
be to digitize the contoured data and use a
computer.) Are the terrain corrections signifi-
cant? Would they be more reliable if vertical
gradients had been measured? Why?

The two sets of contours shown in Figure 3.41
illustrate the differences between airborne total-
field and ground vertical-component survey re-
sults. Only the relative values arc significant
because there is no relation between the absolute
magnitudes. The airborne results show the ef-

13.

fects of smoothing with altitude. The ground
survey indicates five distinct maxima, compared
with a single symmetrical anomaly in the air-
borne contours. Furthermore, the largest of these
ground maxima is displaced about 650 m from
the center of the total-ficld anomaly. The alti-
tude of the aircraft was 300 m and the ground is
flat. The magnetic inclination in the area is 75°.
Calculate the depths and approximate lateral
extents of the 6,000 nT and the larger of the
2,000 nT ground anomalies as well as the air
borne anomaly.

With the aid of Equation (3.71) and Table
3.2, carry out an upward continuation of the

ground data to 300 m by choosing », = 100 m |

and h = 5.
Figure 3.42 shows a 9.5 X 6.5 km section from 4
Canadian government aeromagnetic survey i
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Figure 3.39. Vertical-component magnetic profiles, Manitoba Nickel Belt.

northwest Newfoundland. The rocks in the area
are sedimentary, consisting of sandstones, shales,
and limestones with some dolomite. In the upper
half and the lower left quarter of the section the
topography is flat: the average elevation is ~ 100
m. A steep escarpment, in the shape of an in-
verted U with apex to the north, occupies the
lower middle portion of the figure. It follows the
closed 200 nT contour on the left, continues
north and east to overlap the east half of the 100
0T low, and then turns southeast between the
300 nT contours on the lower right. This scarp
rise about 200 m, in places having a slope of
nearly 30°. As a result, the magnetic high in the
lower part of the diagram is on a 300 m plateau.
Flight lines were €ast-west, 300 m above ground
level.

With this information, make an interpretation
of the magnetic anomaly in the lower central

part of the section. Could it be entirely or partly
the result of topography? Is it the reflection of a
single magnetic structure? Is it possible that the
larger magnetic low area, contained in the
200 nT contour striking roughly east-west, might
represent a distinctly different structure?

- The Z-component data in Table 3.8 constitute

airborne and ground profiles along approxi-
mately the same line crossing a strong magnetic
anomaly of great length, striking roughly E-W.
The airborne magnetometer was a heavily
damped vertical-component instrument at eleva-
tions of 300 to 400 ft above ground. The ground
instrument was a conventional fluxgate magne-
tometer. Station intervals are in feet and air-
borne station 800N corresponds approximately
to a point between 400 and 500N on the ground
traverse. Determine the depth, cross section, ap-
proximate susceptibility, and direction of mag-
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Figure 3.40. Effect of topography on magnetic measurements. (a) Elevation (dashed)
and Z-component (solid) contours in an area of sedimentary rocks. (b) Elevation and
Z-component contours in an area of granitic and sedimentary rocks.
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Table 3.8. Ground and airborne vertical-component survey.

s Magnetic methods

Airborne Ground
V4 Z z
Stnt. (nT) Stn. (nT) Stn. (n1)
ON 600 ON 4,600 600N 36000
400 2,600 100 7.400 700 28,600
600 4100 200 13,700 800 16,000
800 5.700 300 28.600 900 8.000
1.000 4.050 400 40.000 1,000 4.600
1,200 2,760 500 40,000 8
1.500 750 i
o
A
b
;
A
—_— 1700 ‘
%

Figure 3.43. Total-field acromagnelic contours. 5t. Lawrence fowlands. C.I.= 100 nT.

netization of the source from each traverse. As a
check on the results, continue the ground profile
upward to find out if it matches the airborne
profile.

A section from Canadian government acromag-
netic maps of the St. Lawrence lowlands sedi-
mentary region is rcproduced in Figure 3.43.
There are at least three large structural features
producing the magnetic anomalies. Two are well
documented geologically. Can you distinguish
any fault zones? Any domes or plugs? Are these

15.

16.

S

s
S

anomalies produced by structures in the sedi- 3
ments or in the underlying basement rocks? Ao
lyze this acromagnetic section as precisely 8,
possible, with particular emphasis on depths 1078
the sources. Altitude of the aircraft was 300 #8
above ground level and the fight lines weres
E-W. The topography is essentially flat through
out. 3
Figure 3.44 shows a portion of an E-W acrod
magnetic profile. The fiducial marks ( numbers &
the bottom) are 2 km apart and the aircraft ¥4
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Surface

Magnetic methods

Surface

(a)

\

Figure 3.45. Basement structures. {a) Contact between slabs of different susceptibility.

(b) Uniform bed with a step.

flown at a constant barometric elevation of 750
m. Analyze the profile using the methods of
Section 3.7.11 and Equations (3.89).

17. The schematics shown in Figure 3.45 represent
two relatively common basement structures: (2)
a contact between beds of great strike length and
depth extent and (b) a uniform bed with a step.
Assume D/d = 1.1 and a N-S§ strike for both
features. Plot both profiles and compare the
maximum anomalies.
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4

Seismic Methods

4

4.1. INTRODUCTION detect the resulting motion of the earth. The data hrix
usually are recorded digitally on magnetic tape so av:

4.1.1. Importance of Seismic Work 1bat computer processing can be used to enhanc.:e t.he fici
signals with respect to the noise, extract the signifi- Ea

The seismic method is by far the most important cant information, and display it for geological inter- cat
geophysical technique in terms of expenditures (see  pretation. ear
Table 1.1) and number of geophysicists involved. Iis The basic technique of seismic exploration con- loc.
predominance is due to high accuracy. high resolu- sists of generating seismic waves and measuring the anc
tion, and great penetration. The widespread use of time required for the waves to travel from the sources Zoe
seismic methods is principally in exploring for to a series of geophones, usually disposed along a 190
petroleum: the locations for exploratory wells rarely  straight line directed toward the source. From a Ger
are made without seismic information. Seismic meth-  knowledge of traveltimes and the velocity of the ing,
ods are also important in groundwater searches and  waves, one attempts to reconstruct the paths of the way
in civil engineering,. especially to measure the depth  seismic waves. Structural information is derived was:
to bedrock in connection with the construction of principally from paths that fall into two main cate- deve
large buildings, dams, highways, and harbor surveys. gories: headwave or refracted paths, in which the worl
Seismic techniques have found little application in principal portion of the path is along the interface deve
direct exploration for minerals where interfaces be-  between two rock layers and hence is approximately instr
tween different rock types are highly irregular. How-  horizontal, and reflecred paths, in which the wave Gerr
ever, they are useful in locating features, such as travels downward initially and at some point is re- the T
buried channels, in which heavy minerals may be flected back to the surface, the overall path being Ir
accumulated. essentially vertical. For both types of path, the trav- refray
Exploration seismology is an offspring of earth- eltimes depend on the physical properties of the Com)
quake seismology. When an earthquake occurs, the rocks and the attitudes of the beds. The objective of miC_,;
earth is fractured and the rocks on opposite sides of  seismic exploration is to deduce information about of the
the fracture move relative to one another. Such a the rocks, especially about the attitudes of the beds, of ra)
rupture generates seismic waves that travel outward from the observed arrival times and (to a lesser the G
from the fracture surface and are recorded at various extent) from variations in amplitude, frequency, camp,
sites using seismographs. Seismologists use the data  phase, and wave shape. Yyears,
to deduce information about the nature of the rocks Despite the indirectness of the method — most of sal
through which the earthquake waves traveled. seismic work results in the mapping of geological had b
Exploration seismic methods involve basically the  structure rather than finding petroleum directly - the gan «
same type of measurements as earthquake seismol- likelihood of a successful venture is improved more refracy
ogy. However, the energy sources are controlled and  than cnough to pay for the seismic work. Likewisc, dome§
movable, and the distances between the source and  engineering surveys, mapping of water resources, mappi
the recording points are relatively small. Much seis- and other studies requiring accurate knowledge of monly.
mic work consists of continuous coverage, where the  subsurface structure derive valuable information . Ref
response of successive portions of earth is sampled from seismic data. clpally
along lines of profile. Explosives and other energy We shall first give a bricf outline of the history of F essen
sources are used to generate the seismic waves, and  seismic exploration and of the field methods used for :::rd I;
Ing
b

arrays of seismometers or geophones are used to

acquiring seismic data. This will be followed by 2
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Introduction

brief discussion of seismic methods that will provide
a background for the following sections. The subse-
quent sections will then discuss the theory of seismic
wave propagation, the geometry of seismic raypaths,
and the characteristics of seismic events. We shall
then examine, in more detail, the recording instru-
mentation and field techniques used for land and
marine reflection and refraction surveys. Finally, we
shall describe the processing of seismic data and
conclude with a discussion of interpretation tech-

niques.

4.1.2. History of Seismic Exploration

Much of seismic theory was developed prior to the
availability of instruments that were capable of suf-
ficient sensitivity to permit significant measurements.
Earthquake seismology preceded exploration appli-
cations. In 1845, Mallet experimented with “artificial
carthquakes” in an attempt to measure seismic ve-
locities. Knott developed the theory of reflection
and refraction at interfaces in a paper in 1899 and
Zoeppritz and Wiechert published on wave theory in
1907. During World War I, both the Allies and
Germany carried out research directed toward locat-
ing heavy guns by recording the arrival of seismic
waves generated by the recoil. Although this work
was not very successful, it was fundamental in the
development of exploration seismology, and several
workers engaged in this research later pioneered the
development of seismic prospecting techniques and
instruments. Among these researchers, Mintrop in
Germany and Karcher, McCollum, and Eckhardt in
the United States were outstanding,

In 1919, Mintrop applied for a patent on the
refraction method and, in 1922, Mintrop's Seismos
Company furnished two crews to do refraction seis-
mic prospecting in Mexico and the Gulf Coast area
of the United States using a mechanical seismograph
of rather low sensitivity. The discovery, in 1924, of
the Orchard salt dome in Texas led to an extensive
campaign of refraction shooting during the next six
years, the emphasis being principally on the location
of salt domes. By 1930 most of the shallow domes
had been discovered and the refraction method be-
gan to give way to the reflection method. Whereas
refraction techniques were ideal for locating salt

domes, refiection techniques are more suitable for -

mapping other types of geologic structures com-
monly encountered.

~ Reflection  seismic prospecting stemmed prin-
“pally from the pioneering work of Reginald
Fessenden about 1913. This work was directed to-
Wérd measuring water depths and detecting icebergs
using sound waves. In the carly 1920s, Karcher de-
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veloped a reflection seismograph that saw field use in
Oklahoma. It was not until 1927, however, that
commercial utilization of the reflection method be-
gan with a survey by the Geophysical Research
Corporation of the Maud field in Oklahoma, which
used a vacuum tube amplifier. Oklahoma proved to
be particularly suitable for the application of reflec-
tion methods, just as the Gulf Coast had been suit-
able for refraction techniques, and the reflection
method rapidly grew in popularity until it virtually
displaced the refraction method. Although reflection
has continued to be the principal seismic method,
there are certain areas and types of problems where
refraction techniques enjoy advantages over reflec-
tion shooting, and so they continue to be used to a
modest degree.

A distinctive reflection was characteristic of the
first reflection application in Oklahoma. Hence the
first reflection work utilized the correlation method
whereby a map was constructed by recognizing the
same event on isolated individual records. However,
most areas are not characterized by such a distinc-
tive reflector and so, in general, the correlation
method has little application.

In 1929, the calculation of dip from the time
differences across several traces of a seismic record
permitted the successful application of reflection ex-
ploration in the Gulf Coast area where reflections
were not distinctive of a particular lithologic break
and could not be followed for long distances. This
method proved to be much more widely applicable
than correlation shooting and so led to rapid expan-
sion of seismic exploration.

As the capability of recording the data from more
geophones grew, recordings became spaced so closely
that reflections could be followed continuously along
lines of profile, and continuous coverage became the
standard seismic reflection method. Reflections from
interfaces were interpreted on photographic record-
ings (Fig. 4.1) to map structure features.

In 1936, Rieber published the idea of processing
seismic data using variable-density records and pho-
tocells for reproduction; however, widespread use of
playback processing did not begin until magnetic
tape became commercially available in 1953. Mag-
netic tape recording spread rapidly in the next few
years, especially after digital recording and process-
ing were introduced in the 1960s. Magnetic tape
recording made it possible to combine the data from
several recordings made at different times and this
made the use of weaker energy sources feasible.
Introduction, in 1953, of a dropped weight as a
source of scismic energy was the forerunner of a
series of different kinds of seismic sources.

Radar was one of the outstanding technological
advances of World War II and it was widely used in
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the detection of aircraft. However, noise frequently
interfered with the application of radar and consid-
erable theoretical effort was devoted to the detection
of signals in the presence of noise. The result was the
pirth of a new field of mathematics - information
theory. Early in the 1950s a research group at the
Massachusetts Institute of Technology studied its
application to seismic exploration problems (Flinn,
Robinson, and Treitel, 1967). Simuitaneously with
this development, rapid advances in digital computer
technology made extensive calculations feasible for
the first time (Robinson, 1985). These two develop-
ments had a great impact on seismic exploration in
the early 1960s and beforc the end of the decade,
data processing (as the application is called) had
changed seismic exploration dramatically, so much
so that it came to be referred to as the “digital
revolution.” Most seismic recording is now done in
digital form and most data are subjected to data
processing before being interpreted.

The common-midpoint method (also called com-
mon-depth-point and common-reflection-point) was
patented in 1956. This method involves recording
data from the same subsurface a number of times
with varied source and geophone locations and then
combining the data in processing. The redundancy
of data achieved with this method made practical a
pumber of schemes for the attenuation of noise
(including multiple reflections) and improved data
quality so much that most areas were remapped with
the new techniques.

Most seismic sources are impulsive, that is, they
develop a short, sharp wavefront. In contrast, the
Vibroseis method, developed in 1953 but not applied
extensively until much later, generates a wavetrain
that is so long that reflections overlap extensively.
Processing effectively collapses the wavetrain back to
that achieved with an impulsive source. About half
of the land data is now acquired with the Vibroseis
method.

Because of continual improvements in instrumen-
tation and processing, many areas have been resur-
veyed or reprocessed repeatedly; each time better
quality of data is achieved. New acquisition tech-
niques, such as vertical profiling and the use of §
waves, have been developed. In areas of special
Interest, three-dimensional acquisition techniques are
employed that cover an area rather than merely
along occasional profile lines. Interpretation tech-
mques also have been improved continually. Rather
than being limited merely to mapping structural
features, interpretation now involves studies of veloc-
1ty, amplitude, frequency, and waveform variations
so that information can be determined about the
lithology, stratigraphic features, and hydrocarbon ac-
Cumulations, Applications are extending beyond lo-
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cating hydrocarbons to helping guide oil-field devel-
opment and monitoring production.

More on the history of seismic exploration is
given in Allen (1980), Bates, Gaskeli, and Rice (1982),
and Sheriff and Geldart (1982, pp. 3-27).

4.1.3. Outline of the Seismic
Reflection Method

To provide a background for the following sections,
a brief outline of one of the many variations of
seismic reflection technique will be given at this
point (although the reasons for various steps will
only be given later).

Assume that a land crew uses an explosive as the
energy source. The first step in the field work is to
drill a vertical hole at the sourcepoint (shotpoint), the
hole diameter being perhaps 10 cm and the depth
between 6 and 30 m. A charge of 2 to 25 kg of
explosive is armed with an electric blasting cap and
placed near the bottom of the hole. Two wires ex-
tend from the cap to the surface where they are
connected to a blaster that is used to send an
electrical current through the wires to the cap, which
then explodes and detonates the main explosive
(shot). Sourcepoints are usually spaced at equal in-
tervals of 50 to 400 m. Cables are laid out in a
straight line extending away from the sourcepoint,
each cable contains many pairs of electrical conduc-
tors. Each pair of wires is connected to an outlet and
the outlets are spaced at intervals of 25 to 100 m
along the cable. Several geophones (seismometers)
are connected to each of these outlets so that each
pair of wires carries the output energy of a group of
geophones back to the recording instruments. Be-
cause of the small spacing between the geophones
attached to one pair of wires, the group is approxi-
mately equivalent to a single large geophone located
at the center of the group. Often 96 or more geo-
phone groups are used. When seismic waves from
the explosion arrive, each geophone group generates
a signal that depends on the motion of the ground in
the vicinity of the group. The net result is signals
furnishing information about the ground motion at a
number of regularly spaced points along a straight
line passing through the sourcepoint.

The electrical signals go to amplifiers that in-
crcase the signal strength and partially eliminate
(filter out) parts of the signal deemed undesirable.
This information along with accurate timing signals
are recorded on magnetic tape. Thus the recorded
data consist of a number of traces, each showing
how the motion of the ground at one geophone
group varied with time after the source instant (time-
break).
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Figure 4.2. Components of stress.

The arrival of seismic waves produces systematic
variations from trace to trace (events). The travel-
times. the intervals between the source instant and
the arrivals of the seismic energy ‘also known as the
arrival times), of events believed to be reflections are
measured. The location and attitude of the interface
that gave rise to each reflection event are calculated
from the traveltimes. The results from various source
locations are combined into cross sections and con-
tour maps to represent the structure of geological
interfaces. The presence of hydrocarbons or other
minerals is inferred mainly from the structural infor-
mation (see, however, § 4.8.7).

We have introduced a number of terms (indicated
by italics) used in a specialized sense in seismic
work. We shall follow the definitions for such terms
given by Sheriff (1984).

4.2. SEISMIC THEORY

4.2.1. Theory of Elasticity

(a) General. The seismic method utilizes the prop-
agation of waves through the earth. Because this
propagation depends on the clastic properties of the
rocks. we briefly shall discuss the basic' concepts of
elasticity. _
The size and shape of a solid body can be changed
by applying forces to the external surface of the
body. These external forces are opposed by internal
forces that resist the changes in size and shape. As a
result, the body tends to return to its original condi-
tion when the external forces are removed. Similarly,
a fluid resists changes in size (volume) but not
changes in shape. This property of resisting changes
in size or shape and of returning to the undeformed
condition when the externa!l forces are removed is
called elasticity. A perfectly elastic body is one that

Seismic methods
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recovers completely after being deformed. Many
substances including rocks can be considered per.
fectly clastic without appreciable error, provided the
deformations are small, as is the case for seismic
waves except near a seismic source.

The theory of elasticity relates the applied forces
to the resulting changes in size and shape. The
relations between the applied forces and the defor-
mations are expressed in terms of the concepts,
stress and strain.

(b) Stress. Stress is defined as force per unit arca,
When a force is applicd to a body. the stress is the
ratio of the force to the area on which the force is
applied. If the force varics {rom point to point, the
stress also varies and its value at any point is found
by taking an infinitesimally small element of area
centered at the point and dividing the total force
acting on this area by the magnitude of the area. If
the force is perpendicular to the area. the stress is
said to be a normal stress (or pressure). In this book,
positive values correspond to tensile stresses (the
opposite convention of signs is also used frequently).
When the force is tangential to the clement of area,
the stress is a shearing stress. When the force is
neither parallel nor perpendicular to the element of
area. it can be resolved into components parallel and
perpendicular to the element. Hence any stress can
be resolved into normal and shearing components.

If we consider a small element of volume, the
stresses acting on each of the six faces of the element
can be resolved into components, as shown in Figure
42 for the two faces perpendicular to the x axis.
Subscripts denote the x, y. and z axes, respectivelys
and o, denotes a stress parallel to the x axis actiog
on a surface perpendicular to the y axis. When the
two subscripts are the same (as with o, ), the stress is
a normal stress; when the subscripts are different (a
with g, ,), the stress is a shearirg stress.
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Figure 4.3. Analysis of two-dimensional strain.

When the medium is in static equilibrium, the
forces must be balanced. This means that the three
stresses o, 0,,. and o, acting on the face O4ABC
must be equal and opposite to the corresponding
stresses shown on the opposite face DEFG, with
similar relations for the remaining four faces. In
addition, a pair of shearing stresses, such as Oy
constitute a couple tending to rotate the element
about the z axis. The magnitude of the couple is

(force X lever arm) = (o, dydz) dx

If we consider the stresses on the other four faces, we
find that this couple is opposed solely by the couple
due to the pair of stresses o,, with magnitude
(0., dxdz) dy. Because the element is in equilibrium,
the total moment must be zero; hence o, =0, In
general, we must have

(c) Strain. When an elastic body is subjected to
Stresses, changes in shape and dimensions occur.
These changes, which are called strains, can be re-
solved into certain fundamental types.

_ Consider a rectangle PORS in the xy plane (see
Fig. 43). When the stresses are applied, let P move
o P"; PP’ have components u and v. If the other
vertices Q, R, and § have the same displacement as
P, the fectangle is merely displaced as a whole by the
amounts u and . In this case, there is no change in
Size or shape and no strain exists. However. if u and
v are different for the different vertices, the rectangle

will undergo changes in size and/or shape, and
strains will exist.
Let us assume that u = u(x, y) and r = r(x, y).
Then the coordinates of the vertices of PORS and
P'Q'R'S’ are
P(x,y),0(x +dx, y):
S(x,y+dy). R(x + dx, y + dy):
P(x+u,y+v);

dv

—dx];
Ix x),

du dv
Slx+u+ —dy,y+dp+v+—dyl;
dy dy

du
Q/(x+dx+u+5—dx,y+v+
x

du

dy,
ayy

du
Rix+de+u+—dx+
dx

3vd
dy Y

In general, the changes in # and v are much
smaller than the quantities dx and dy. Accordingly,
we assume that the terms (du/dx), (du/dy), and so
on, are small enough that powers and products can
be neglected. With this assumption, we see that:

dv
y+dy+ov+ —dx+
ax

1. PQ increases in length by the amount (3 u/dx) dx
and PS increases by the amount (dv/dy) dy.
Hence, du/3dx and dv/dy are the fractional
increases in length in the direction of the axes.

2. The infinitesimal angles 8, and 8, are equal to
dv/dx and du/dy, respectively.
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3. The right angle at P decreases by the amount
(8, + &) = (Jv/dx + du/dy).

4. The rectangle as a whole is rotated counterclock-
wise through the angle (8, — 8,)/2 = (dv/3x —
du/dy)/2.

Strain is defined as the relative change (that is,
the fractional change) in a dimension or shape of a
body. The quantities du/dx and dv/dy are the
relative increases in length in the directions of the x
and y axes and are referred to as normal strains. The
quantity (dv/dx + du/dy) is the amount by which
a right angle in the xy plane is reduced when the
stresses are applied; hence, it is a measure of the
change in shape of the medium, which is known as a
shearing strain and is denoted by the symbol ¢,,.
The quantity (Jv/dx — du/dy)/2, which repre-
sents a rotation of the body about the z axis, does
not involve change in size or shape and hence is not
a strain; we denote it by the symbol 4.

Extending the above analysis to three dimensions,
we write (4, v, w) as the components of displace-
ment of a point P(x, y, z). The elementary strains
thus are

du
Normal strains &, = ——
ax
dv
&y = ST (4.1)
dy
aw
& T _3:
. dv du
Shearing strains &, = €,, = = + F
x y
dw  dv
g, = &y = ':9; + 'E (42)
du Iw
Ex T &z T '5; + —é;

In addition to these strains, the body is subjected to
simple rotation about the three axes, which is given

by
aw av
dy 9z

>
I

(4.3)

8 =

The changes in dimensions given by the normal
strains result in volume changes; the change in vol-
ume per unit volume is called the dilatation and is
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represented by A. If we start with a rectangular
parallelepiped with cdges dx. dy, and dz in the
unstrained medium, the dimensions in the strained
medium are dx(l + &), dy(l + g,,). and dz(1 +
e..): hence the increase in volume is approximately
(60 + &yt £,2) dx dyd:. Because the original vol.
ume was (dx dy dz), we see that

B=rgte, + e,
du Ju w
-t — 4 —
ax | ay | 0z (49)

(d) Hooke's law. In order to calculate the straing
when the stresses are known, we must know the
relationship between stress and strain. When the
strains are small, this relation is given by Hooke’s
law, which states that a given strain is directly pro-
portional to the stress producing it. When several
stresses exist, each produces strains independently of
the others; hence the total strain is the sum of the
strains produced by the individual stresses. This
means that each strain is a linear function of all of
the stresses and vice versa. In general, Hooke’s law
leads to complicated relations but when the medium
is isotropic, that is, when properties do not depend
on direction, it can be expressed in the relatively
simple form

i=x,y.z  (45)
i j=xy.z.i%] (46)

= ANA+ 2pe;,
Gi; = P&

Equation (4.5) states that a normal stress may pro-
duce stress in directions other than the direction of
the stress: Equation (4.6) states that a shearing stress
produces only a shearing strain (no pormal strains).

The quantities A" and p are known as Lamé
constants. 1f we write ¢;; = (0;;/p). it is cvident that
& is smaller the larger p is. Hence yu is a measure of
the resistance to shearing strain and is often referred
to as the modulus of rigidity or shear modulus.

When the stress is increased beyond an efustic
fimit, Hooke’s law no longer holds and strains in-
crease more rapidly. Strains resulting from stresses
that exceed this limit do not entirely disappear when
the stresses are removed.

(e) Elastic constants. Although Lamé constants aré
convenicnt at times, other elastic constants are also
used. Consider a medium in which all stresses aft
zero except o,,. Assuming o, is positive (that is,8
tensile stress), dimensions parallel to a,, will it
crease whereas dimensions normal to g, will de-
crease. This means that e, is positive (elongation in
the x direction) whereas ¢, and e are negative.

From symmetry we can see that e,, = ¢_.. We oV
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define Young's modulus and Poisson’s ratio by the
relations [see problem 1(a) and (b)].

9 B3N +2p)
A+

4.7

Young’s modulus = E =

GXX

T &y

Poisson’s ratio = g =

EIX

&, '
= - (4.8)

g AN +p)

The minus signs are inserted to make ¢ positive.
(The symbol o is more-or-less standard for Poisson’s
ratio; the subscripts should prevent any confusion
with a stress o,.jA)

Consider a medium subjected only to a hydro-
static pressure p, which is equivalent to the state-
ments

Then, k is the ratio of the pressure to the dilatation:

-p 3N+ 2
bulk modulus = k = 2T T (4.9)

The minus sign is inserted to make k positive.

By eliminating different pairs of constants, many
different relations can be derived to express one of
the five constants in terms of two others (see Sherifl
and Geldart, 1982, p. 74).

The preceding theory assumes an isotropic medi-
um, but sedimentary and metamorphic rocks
are frequently not isotropic; differences of 20 to 25%
have been reported. If one does not assume isotropy,
the mathematics becomes complicated and physical
insight is more difficult. Fortunately the assumption
of isotropy usually provides a rcasonable explana-
tion of actual results. The next simplest situation
after isotropy is transverse isotropy, where properties
are the same in two orthogonal directions (usually
the bedding-plane directions) but different in the
third. This situation is discussed by Sheriff and
Geldart (1982, pp. 36-7 and 52-3). It can be shown
that a layered medium composed of isotropic layers
behaves like a transversely isotropic medium when
the seismic wavelengths are large compared to the
bed thicknesses. Interest in anisotropy is growing
because fracturing of rocks induces anisotropy and
because fracture porosity markedly affects hydrocar-
bon production.

The elastic constants are defined in such a way
that they are positive numbers. As a consequence, ¢
must have values between 0 and 0.5 [because in Eq.
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(4.8) XN'/(X" + p) is less than unity]. Values range
from 0.05 for very hard, rigid rocks to about 0.45 for
soft, poorly consolidated materials. Liquids have no
resistance to shear and hence for them p = 0 and
o = 0.5. For most rocks, E, k, and p lie in the range
from 10 to 200 gigapascal (GPa) [10 to 200 X 10°
newton/meter? (N/n?)];, E generally is the largest
and p the smallest of the three. Extensive tables of
elastic constants of rocks have been given by Birch
(1966, pp. 107-73).

4.2.2. Wave Equation and its Solutions

(a) Wave equation. Up to this point we have been
discussing a medium in static equilibrium. We shall
now remove this restriction and consider what hap-
pens when the stresses are not in equilibrium. In
Figure 4.2 we now assume that the stresses on the
rear face of the element of volume are as shown in
the diagram, but that the stresses on the front face
are, respectively,

da,,

do,,
o, + Ix dx g, + I dx a,, + P

Because these stresses are opposite to those acting on
the rear face, the net (unbalanced) stresses are

do,, 4 da,, 4 da,,
ax ~ ax ~ Ix

dx

These stresses act on a face that has an arca (dy dz)
and they affect the volume (dxdy dz); hence we get
for the net forces per unit volume in the directions of
the x, y, and z axes the values

do,, do,, do,,

dx dx dx

respectively. Similar expressions hold for the other
faces; hence we find for the total force per unit
volume in the direction of the x axis the expression

do, N da,, N do,,
dx dy dz

Newton’s second law of motion states that the
unbalanced force equals the mass times the accelera-
tion; thus we obtain the equation of motion along
the x axis:

3%u
p;-; = unbalanced force per unit volume
{
in the x direction
_ do,, Jo, . da,,

+
ax dy dz

(4.10)
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where p is the density. Similar equations can be
written for motion along the y and z axes.

Equation (4.10) relates the displacements to the
stresses. We can obtain an equation involving only
displacements by using Hooke’s law to replace the
stresses with strains and then expressing the strains
in terms of the displacements, using Equations (4.1),
(4.2). (4.4), (4.5), and (4.6):

*u do do do

—— XX XY
ar? dx dy az
da de de de
= A,—-——‘ + 2 XX + Xy + X
ax | Pax TRy THha:
A A 23214 N % . 3%u
=\ — + - PRI
ax M 79x T\axay T 9y?
%u 3w
+— +
322 dx dz
N aaA 5 d[du dv Iw
=N— + fp—|—+ =+ —
Ix nyou Fax\ ox dy 9z
A
=(}\'+p)3; +pviu (4.11)

where v2u = Laplacian of u = (8%u/dx* + d*u/
3y? + 3%u/3z%). By analogy we can write the equa-
tions for v and w:

9% ) da )
W=(A‘+}L)a—v+ﬂVv (4.12)
: ’ aa 2

p—a? =(X+ #)E +uviv  (4.13)

To obtain the wave equation, we differentiate
these three equations with respect to x, y, and z,
respectively, and add the results together. This gives

3% ( du dv dw
p—|—+—+—
a*\ax dy 9z
(x 92A A 3%A
=(N+ + +
k) ax? ay? 322
) du dv dw
+ _—t—+ —
BV A Ty T e
that is,
824 AN+2 ZA
—_— = 4+ \v
3. ( I")
or
1 32A A +2
. £ (a14)

o 9r?
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By subtracting the derivative of Equation 41y
with respect to - from the derivative of Equ,gmon
(4.13) with respect to ¥, we et

dr { Iw ade 2(‘ dw du
Pac\ay T 3;) TRV T %)
that is
1 a% 1
2 2 2
— = v pr = D (415
B a9t * / P )

By subtracting appropriate derivatives, we obtaiy
similar results for 8, and 6. These equations are
different examples of the warce equation, which we
can write in the general form

SigE =T (4.16)

The wave equation relates a time derivative of a
displacement (the left side) to spatial derivatives (the
right side); the constant of proportionality is V.

(b) Plane-wave solutions. Let us consider first the
case where y is a function only of x and 1, so that
Equation (4.16) reduces to

1 3% N
N Rr R (4.1
Ve oar dx*
Any function of (x — V1),
v=f(x- Vi) (4.18)

is a solution of Equation (4.17) (sce problem 2)
provided that ¢ and its first two derivatives hav
no discontinuities. This solution (known as d 'Alen
bert’s solution). furnishes an infinite number of par
ticular solutions [for example, e¥¢ =" sin(x — V1)
(x — ¥1)*]. The answer to a specific problem cotr
sists of selecting a combination of solutions that als0
satisfies the boundary conditions for the problem.

A wave is a “disturbance” that travels through
the medium. In our notation. the disturbance ¥ is?
volume change when ¢ = A and a rotation whes
¥ = 6. Obviously the disturbance in Equation (@19 ;
is traveling along the x axis. We shall now show that ;
it travels with a speed cqual to the quantity V.

In Figure 4.4, a certain part of the wave b&.
reached the point P, at the time 1. If the coordinat:
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Figure 4.4. Ilustrating the velocity of a wave.

of Py is xo, then the value of ¢ at Py is ¢, =
f(xo — V1,). If this same portion of the wave reaches
P, at the time 7 + At, then we have for the value of
¢ at Py,

¥ =f{x0+ Ax— V(¢ + Ar)}

But, because this is the same portion of the wave
that was at Fy at time f;. we must have ¥, = ;.
that 1s,

Xg — Vg = xo + Ax — V(1 + A1)

Thus, the quantity ¥ is equal to Ax/Ar and is
therefore the speed with which the disturbance trav-
els in the positive x direction.

A function of (x + V) denotes a wave traveling
in the negative x direction. The general solution of
Equation (4.17)

v=f(x-Vt) +g(x+ V1) (4.19)
represents two waves travcling along the x axis in
opposite directions with velocity V. Because the value
of ¥ is independent of y and z, the disturbance
must be the same everywhere in a plane perpendicu-
lar to the x axis. This type of wave is called a plane
wave.

The quantity (x + V) is known as the phase.
The surfaces on which the wave motion is the same,
that is, surfaces on which the phase is constant, are
known ag wavefronts. In the case we are considering,
the wavefronts are planes pependicular to the x axis
and the wave is traveling in the direction normal to
the wavefront. This holds for all waves in isotropic
media. A line denoting the direction of travel of the
Wave energy is called a raypath.

=t is convenient to have an expression for a plane
waxe that is not traveling parallel to an axis. Assume

! =cos 8
m = cos 0,

n =cos b,

Figure 4.5. Wave direction not along an axis.

that the wave is traveling along the x’ axis that has
direction cosines (/, m, n) (§ A3.1) relative to the x,
y.and z axes (Fig. 4.5). Then, at a point P on the x’
axis at a distance x' from the origin, we have

x'=Ix+my+ nz
where the coordinates of P are (x, y, z). Then,

Y=f(lx+my+nz—- W)

+g(x+my+nz+ vy (420)

(c) Spherical-wave solutions. In addition to plane
waves, we often use spherical waves where the wave-
fronts are a series of concentric spherical surfaces.
We express the wave equation [Eq. (4.16)] in spheri-
cal coordinates (r, 0, ¢), where 0-is the colatitude
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0

R m, []

Figure 4.6. Relation between spherical and plane waves.

and ¢ is the longitude {Eq. (A.37)]:

L 3% 1(a(,dy
V2 92 2 Br(r 8r)

1 4 03¢ 1 9% anl
+ — — |+ ——— :

sin ao(sm aa) a0 22| (4
We consider only the special case when the wave
motion is independent of § and ¢, hence is a func-
tion only of r and ¢ Then we get the simplified
equation

(4.22)
Solutions of this equation are
1
v=—f(r+ V1)
r
and the general solution is
1 1
=—f(r=Vt) + —g(r+vr) (423)
r r

in which the first term represents a wave expanding
outward from a central point and the second term a
wave collapsing toward the central point.

When r and ¢ are fixed, (r — Vi) is constant and
hence ¢ is constant. Thus, at the instant ¢ the wave
has the same value at all points on the spherical
surface of radius r. The spherical surfaces are there-
fore wavefronts and the radii are rays. Obviously the
rays are normal to the wavefronts.

As the wave progresses outward from the center,
the radius increases and eventually the portion of the
wavefront near any particular point will be approxi-
mately plane. The error that we introduce when we
replace the spherical wavefront PQR in Figure 46
with the plane wavefront P/QR’ is due to the diver-
gence between the true direction of propagation (the
direction of the radius) and the direction normal to
the plane. By taking the radius very large and/or the
portion of the wavefront being considered very small,
we can make the error as small as desired. Because
plane waves are easy to visualize and also the sim-
plest to handle mathematically, we gencrally assume
plane waves. Also, curved wavefronts can be thought
of as a superposition of plane waves, which often
allows us to treat curved-wave problems in terms of
plane waves.

(d) Harmonic waves. So far we have discussed
only the spatial aspects of waves, that is, the way in
which waves depend on space coordinates. However,
¥ is also a function of the time 1.

The simplest form of time variation is that of a
harmonic wave, that is, a wave involving sine of
cosine expressions, such as

¥ =Acosk(x — Vi)
¥ =Asink(ix + my + nz + Vi)
v = (B/r)cos«(r— Vi)

} (4.24)
(425)

At a fixed point, ¥ varies as the sine or cosine of the
time, and so the motion is simple harmonic. The
values of ¢ range from +A to —A for the plant
waves of Equation (4.24) and from +B/r to — B/r
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for the spherical wave in Equation (4.25). The value
|| or [B/r| is known as the amplitude of the
wave Y.

For a fixed value of ¢, whenever x in Equation
(4.24) increases by (27/x), the argument of the sine
or cosine increases by 27 and hence the value of
repeats. The distance (27/k) is called the wave-
length, which is usually represented by the symbol A.
The quantity (k/2x) is the wave number, the num-
ber of wavelengths per unit length.

If the space coordinates in Equations (4.24) and
(4.25) are kept fixed and ¢ allowed to increase, the
value of ¢ repeats each time that ¢ incrcases by the
amount T where &VT = 2n = 29(VT/)). Conse-
quently,

V=rA
(4.26)

T=MV v=(1/T)=V/A

where T is the period and v is the frequency of the
wave. Another frequently used quantity is the angu-
lar frequency w, where w = 2av = «V. Using the
preceding symbols, we can write Equation (4.24) in
the equivalent forms

2
y=Acosk(x — V1) = Acos—A—(x - W)

x
= Acos(xx — wt) = Acos m([—/ - I) (4.27)

X
= AcosZw(X - vt) = Acos(kx — 2mt)

4.2.3. Body Waves: P and S Waves

Up to this point our discussion of wave motion has
been based on Equation (4.16). The quantity y has
not been defined; we have merely inferred that it is
some disturbance that is propagated from one point
to another with the speed V. However, in a homoge-
neous isotropic medium, Equations (4.14) and (4.15)
must be satisfied. We can identify the functions A
and 6, with ¥ and conclude that two types of waves
can be propagated in a homogeneous isotropic
medium, one corresponding to changes in the dilata-
tion A, the other to changes in one or more compo-
hents of the rotation given in Equation (4.3). These
waves, which travel in the interior of a medium, are
called body waves.

‘The first type is variously known as a dilata-
tional, longitudinal, irrotational, compressional, or
p wave, the latter name being due to the fact that
this type is usually the first (primary) event on an
earthquake recording. The second type is referred to

as the shear, transverse, rotational, or S wave (be-
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cause it is usually the second event observed on
earthquake records). The P wave has the velocity «
in Equation (4.14) and the S wave has the velocity 8
in Equation (4.15) where

a={(A+2p)/p}"?
B=(p/p)"

Because the elastic constants are positive, a is
always greater than 8. Writing vy for the ratio 8/a,
we see that

} (4.28)

(4.29)

using Equation (4.8). As o decreases from 0.5 to
zero, y increases from zero to its maximum value
1/42; thus, the velocity of the S wave ranges from
zero up to 70% of the velocity of the P wave.

For fluids, p is zero and hence 8 and y are also
zero. Therefore § waves do not propagate through
fluids.

Let us investigate the nature of the motion of the
medium corresponding to the two types of wave
motion. Consider a spherical P wave of the type
given by Equation (4.25). Figurc 4.7 shows wave-
fronts drawn at quarter-wavelength intervals. The
arrows represent the direction of motion of the
medium at the wavefront. The medium is undergoing
maximum compression at B (that is, the dilatation A
is a minimum) and minimum compression (maxi-
mum A) at the wavefront D.

We can visualize the plane-wave situation by
imagining that the radius in Figure 4.7 has become
so large that the wavefronts are practically plane
surfaces. The displacements are perpendicular to
these planes so that there is no convergence or
divergence of the particles of the medium as they
move back and forth parallel to the direction of
propagation. Such a displacement is longitudinal,
which explains why P waves are sometimes called
longitudinal waves. P waves arc the dominant waves
involved in seismic exploration.

To determine the motion of a medium during the
passage of an § wave, we return to Equation (4.15)
and consider the case where a rotation 6,(x, 1) is
being propagated along the x axis. We have

1 3%. 3%,
B arr  ax?
Because
dv du dv
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Figure 4.7. Displacements for.a spherical P wave.

Figure 4.8. Motion during passage of an S wave.

from Equation (4.3), we see that the wave motion
consists solely of a displacement v of the medium in
the y direction; v is a function of both x and r.
Because v is independent of y and z, the motion is
everywhere the same in a plane perpendicular to the
x axis, that is, we are discussing a plane S wave
traveling along the x axis. By Equation (4.19) the
displacement v must have the form

v =f(x—Bt) +g(x+Br)

We can visualize the preceding relations by using
Figure 4.8. When the wave arrives at P, it causes the
medium in the vicinity of P to rotate about the axis
Z'Z” (parallel to the z axis) through an angle &
Since we arc dealing with infinitesimal strains, w¢
can ignore the curvature of the displacements and
consider that points such as P’ and P’ are displaced
parallel to the y axis to the points Q" and Q" Thus,
as the wave travels along the x axis, the medium is
displaced transversely to the direction of propag®

tion, hence the name transverse wave. Moreoveh
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pecause the rotation varies frf)m point to point' at
any given instant, the medium is subjected to varying
shearing stresses as the wave moves along. This
accounts for the name shear wave.

Because we might have chosen to illustrate §, in
Figure 4.8 instead of 6,, it is clear that shear waves
have 2 degrees of freedom—unlike P waves that
have only 1—along the radial direction. In practice,
S-wave motion is usually resolved into components
parallel and perpendicular to the surface of the
ground, which are known, respectively, as SH and
SV waves.

Because the 2 degrees of freedom of § waves are
independent, we can have an § wave that involves
motion in only one plane, for example, SH or SV
motion; such a wave is said to be plane polarized.
We can also have a wave in which the SH and SV
motion have the same frequency and a fixed phase
difference; such a wave is elliptically polarized. How-
ever, polarization of § waves usually is not impor-
tant in seismic exploration.

In the case of a medium that is not homogeneous
and isotropic, it may not be possible to resolve wave
motion into separate P and S waves. However,
inhomogencities and anisotropy in the earth are small
enough that assumption of scparate P and S waves
is valid for practical purposes.

4.2.4. Surface Waves

(a) Rayleigh waves. In an infinite homogencous
isotropic medium, only P and § waves exist. How-
ever, when the medium does not extend to infinity in
all directions, other types of waves can be generated.
These waves are called surface waves because they
are confined to the vicinity of one of the surfaces
that bound the medium.

In exploration seismology, the main type of sur-
face wave of importance is the Rayleigh wave, often
called ground roll. This wave travels along the sur-
face of the earth and involves a combination of
longitudinal and transverse motion with a definite
phase relation to each other. The amplitude of this
wave motion decreases exponentially with depth.
The particle motion is confined to the vertical plane,
which includes the direction of propagation of the
wave. During the passage of the wave, a particle
traverses an elliptical path and the major axis of the
ellipse is vertical (near the surface). The direction of
particle motion around the ellipse is called retro-
grade (Fig. 4.9) because it is opposite to the more
familiar direction of motion of particles in waves on
the surface of water. The velocity of Rayleigh waves
depends upon the elastic constants near the surface
and is always less than the S wave velocity 8. When
o=, the Rayleigh wave velocity is 0.928. The
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Direction of

Figure 4.9. Motion during passage of a Rayleigh wave.

exponential decrease in amplitude with depth de-
pends on the wavelength of the waves. Because the
elastic constants change with depth, the velocity of
Rayleigh -waves varies with wavelength. A variation
of velocity with wavelength (or frequency) is called
dispersion and it results in a change of the shape of
the wave train with distance (§ 4.2.6d).

(b) Love waves. When a surface layer overlies a
half-space, another type of surface wave, called a
Love wave, may exist. A Love wave involves trans-
verse motion parallel to the surface of the ground
and sometimes it is called an S/ wave. Love waves
have velocities intermediate between the S-wave ve-
locity at the surface and that in deeper layers, and
they exhibit dispersion. Energy sources used in seis-
mic work do not generate Love waves to a significant
degree and hence Love waves are unimportant in
ordinary seismic exploration. Also, modern geo-
phones designed to respond only to vertical motion
of the surface would not detect any Love waves that
might exist.

Surface waves, including Rayleigh, Love, tube,
Stoneley, and channel waves are discussed in more
detail in Sherifl and Geldart (1982, pp. 48-52 and
70-3).

4.2.5. Energy of Waves

(a) Energy density; intensity. Probably the single
most important feature of any wave is the energy
associated with the motion of the medium as the
wave passes through it. Usually we are not con-
cerned with the total energy of a wave, but rather
with the energy in the vicinity of the point where we
observe it. The energy density is the energy per unit
volume in the neighborhood of a point.

Consider a spherical harmonic P wave for which
the radial displacement for a fixed value of r is given
by

u=Acos(wt + ¢)

PEV.
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where ¢ is a phase angle. The displacement u ranges
from —A to +A4. Since the displacement varies with
time, each element of the medium has a velocity
du/dt and an associated kinetic energy. The kinetic
energy §L contained within each element of volume
ov is

8L = L(p80)(du/dt)?

The kinetic energy per unit volume is

- Epm’A2 sinf( wt + ¢)

Sv_EP

8L 1 (adu\? 1
()

This expression varies from zero to a maximum of

pw?d? /2.

The wave also involves potential energy resulting
from the elastic strains created during the passage of
the wave. As the medium oscillates back and forth,
the energy is converted back and forth from kinetic
to potential form and the total encrgy remains fixed.
When a particle is at zero displacement, the potential
energy 1is zero and the kinetic energy is a maximum,
and when the particle is at its extreme displacement,
the energy is all potential. Because the total energy
equals the maximum value of the kinetic energy, the
energy density E for a harmonic wave is

E = Jpu*d? = 20%0° 42 (4.30)
Thus we see that the energy density is proportional
to the first power of the density of the medium and
to the second powers of the frequency and amplitude
of the wave.

We are interested also in the rate of flow of
energy and we define the intensity as the quantity of
energy that flows through a unit area normal to the
direction of wave propagation in unit time. Take a
cylinder of infinitesimal cross section area 827, whose
axis is parallel to the direction of propagation and
whose length is equal to the distance traveled in the
time 8¢. The total energy inside the cylinder at any
instant 7 is EV8:84. At the time ¢ + 8¢, all of this
energy has left the cylinder through one of the ends.
Dividing by the area of the end of the cylinder 6/
and by the time interval 8¢, we get the intensity /, the
amount of energy passing through unit area in unit
time:

I=EV (4.31)
For a harmonic wave, this becomes
I = }pVuis? (4.32)

Sersmic Mcthoge

Figure 410, Dependence of sntensity on distance,

In Figure 4.10 we show a spherical wavefrop
diverging from a center ). By drawing sufficien
radii we can define two portions of wavefronts, A
and A4,. of radii r; and r,, such that the encrgy thy
flows outward through the spherical cap A, in 15
must be equal to that passing outward through the
spherical cap 4, in 1 s (because the energy is moving
only in the radial direction). The flow of energy per
second is the product of the intensity and the are,
hence

Lty = Lo/,

Since the areas ./ and &/, arc proportional to the
square of their radii. we get

Moreover, it follows from Equation (4.31) that Eis
proportional to / and hence

I L, (’1)2

(43)
! )

Waveleng

Thus. geometrical spreading causes the intensity and i
absorptig

the energy density of spherical waves to decreas
inversely as the square of the distance from the
source (Newman, 1973). This is called spherical d
vergence.

(b) Absorption. We shall also consider two othet 3
mechanisms, absorption and partition at interfacts -
which cause the energy density of a wave (0 d‘“"
crease. In the preceding section we considered van
tions of the energy distribution as a function
geometry. Implicit in the discussion was the assumf
tion that none of the wave energy disappeared. thal 3.
is, was transformed into other forms of energy-
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reality this assumption is always incorrect because,
as the wave passes through the medium, the elastic
energy associated with the wave motion is gradually
absorbed by the medium and reappears ultimately in
the form of heat. This process is called absorption
and is responsible for the eventual complete disap-
pearance of the wave motion.

The mechanisms by which the elastic energy is
transformed into heat are not understood clearly
(Toksoz and Johnston, 1981). During the passage of
a wave, heat is generated during the compressive
phase and absorbed during the expansive phase. The
process is not perfectly reversible because the heat
conducted away during the compression is not equal
to the heat flowing back during the expansion. Inter-
nal friction is undoubtedly involved, and many other
mechanisms may contribute, such as loss of energy
involved in the creation of new surfaces (fracturing
near an explosion), piezoelectric and thermoelectric
effects, and viscous losses in the fluids filling the rock
pores.

The measurement of absorption is very difficult.
Absorption varies with frequency, and laboratory
measurements, which are invariably made at high
frequencies, may not be applicable to actual seismic
waves. Field measurements must be corrected for
reflection or refraction effects, and the entire path
should be through the same homogeneous medium.
Measurement difficulties have resulted in wide diver-
gence in absorption measurements.

The loss of energy by absorption appears to be
exponential with distance for elastic waves in rocks.
Thus, we can write

I=ILe™ (4.34)

where I and I, are values of the intensity at two
points a distance x apart and 7 is the absorption
coefficient.

Other measures of absorption are also used, such
as the quality factor Q = #/9A, where A is the
wavelength. Experimental evidence indicates that the
absorption coefficient is proportional to frequency,
that is, 9\ and Q are roughly constant for a particu-
lar rock. The increase in absorption with frequency
provides one mechanism for the loss of high frequen-
§ies with distance. The consensus is that for rocks, n
i of the order of 0.16 to 0.02 dB per wavelength (or
that Q is in the range 20 to 150).

To compare the loss by absorption with the loss
of intensity by spherical divergence, we calculate the
losses in going from a point 200 m from the source
10 various distances from the source assuming 7 =
010 dB/A and Vv =2 km/s. The results shown in
Table 4.1 were calculated using the following rela-
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Table 4.1. Energy losses by absorption and spreading.
n = 0.10 dB/wavelength; V = 2,000 m/s.

Distance from sourcepoint (x,)

Frequency
v 1,200 m 2,200 m 4,200 m 8,200 m
(Hz) (d8)  (dB)  (dB)  (dB)

Absorption 1 022 043 0.86 1.7
3 064 1.3 26 5.2
10 22 43 86 17
30 6.4 13 26 52
100 22 43 86 170
Spreading all 16 | 26 32
tions:
Absorption:
Loss in dB = 10log( I,/T)
=43 ln( eOJOx/)\)

= 0.43(x, — 200) /A
= 0.43»( x, — 200) /2000
Spreading:
Loss in dB = 10log( I,/1)
= 20log( x,,/200)

where x, is the distance from the shotpoint, x =
x, — 200.

Table 4.1 shows that losses by spreading are more
important than losscs by absorption for low frequen-
cies and short distances. As the frequency and dis-
tance increase, absorption losses increase more
rapidly than spreading losses, and eventually become
dominant. The more rapid loss of higher frequencies
results in change of wave shape with distance.

In addition to absorption and spreading, the par-
titioning of energy at interfaces is also responsible
for the decrease in the energy of a wave with dis-
tance. This is discussed in Section 4.2.7.

4.2.6. Wave Motion

(a) Huygens’ principle. This principle is impor-
tant in understanding wave travel and is frequently
useful in drawing successive positions of wavefronts.
Huygens’ principle states that every point on a wave-
front can be regarded as a new source of waves.
Given the location of a wavefront at a certain in-
stant, future positions of the wavefront can be found
by considering each point on the first wavefront as a
new wave source. In Figure 4.11, AB is the wave-
front at the time ¢, and we wish to find the wave-
front at a later time (1 + A¢). During the interval
At, the wave will advance a distance VA¢ where V is
the velocity (which may vary from point to point).
We select points on the wavefront, P;, P, P;, and
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t =ty 40

Figure 4.11. Using Huygens’ principle to locate new wavefronts.

Figure 4.12. Reflection and refraction of a plane wave.

so on, from which we draw arcs of radius VAr.
Provided we select enough points, the envelope of
the arcs (A4’B’) will define as accurately as we wish
the position of the wavefront at the time (¢ + Ar).
Except on the envelope, the elemental waves inter-
fere destructively so that their effects cancel.

(b) Reflection and refraction. Whencver a wave
encounters an abrupt change in the elastic proper-
ties, as when it arrives at a surface separating two
beds, part of the energy is reflected and remains in
the same medium as the original energy. The balance
of the energy is refracted into the other medium with
an abrupt change in the direction of propagation.
We can derive the familiar laws of reflection and
refraction using Huygens’ principle. Consider a plane
wavefront AB incident on a plane interface as in
Figure 4.12 (if the wavefront is curved, we merely
take 4 and B sufficiently close together that AB is a
plane to the required degree of accuracy). 48 occu-
pies the position A'B’ when A arrives at the surface,
and at this instant, the energy at B’ still must travel
the distance B'R before arriving at the interface. If
B’'R = V; At, then Ar is the time interval between
the arrival of the energy at A’ and at R. By
Huygens' principle, during the time A¢ the energy
that reached A4’ will have traveled either upward a
distance ¥, Ar or downward a distance ¥, A7. By
drawing arcs with center A’ and lengths equal to
V; At and ¥, At, and then drawing the tangents from

R to these arcs, we locate the new wavefronts RS
and RT in the upper and lower media. The angle at
S is a right angle and A'S = V; At = B'R. There
fore, the triangles A’B‘R and A'SR are equal with
the result that the angle of incidence 0, is equal to
the angle of reflection 6{. This is the law of reflection.
For the refracted wave, the angle at T is a right
angle and we have

V,At = A'R sin 6,

and
VAt = A'Rsinb,
Hence
sin @ sin @,
L2 (4.3)
" v

The angle 8, is called the angle of refraction and
Equation (4.35) is the law of refraction, also know
as Snell’s law. The angles are usually measured
between the raypaths and a normal to the interface,
but these angles are the same as those between the
interface and the wavefronts in isotropic media. Th
laws of reflection and refraction can be combined if
single statement: At an interface the quantity p =
(sin8,)/V; has the same value for the incident ©
flected, and refracted waves. This generalized for™
of Snell’s law will be understood in future referenc®
to Snell’'s law. The quantity p is called the raypah

parameter.
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=1, 4+ 2A1

Figure 4.13. Diffracted wavefronts. Diffraction allows seismic energy to reach regions
forbidden by ray theory, such as the shadow zone underneath the wedge.

When the medium consists of a number of paral-
lel beds, Snell’s law requires that the quantity p have
the same value everywhere for all reflected and re-
fracted rays resulting from a given initial ray.

When ¥, is less than V, 6, is less than 6,.
However, when V, is greater than Vj, 6, reaches 90°
when 6, = sin~}(¥,/V,). For this value of 8, the
refracted ray is traveling along the interface. The
angle of incidence for which 8, = 90° is the critical
angle 0,; obviously, sinf, = V,/V,. For angles of
incidence greater than 8, it is impossible to satisfy
Snell’s law (because sin 8, cannot exceed unity) and
total reflection occurs (that is, the refracted ray does
not exist). This situation is discussed in Section 4.2.7.

Snell’s law is very useful in determining raypaths
and traveltimes and in deriving reflector position
from observed traveltimes, but it does not give infor-
mation about the amplitudes of the reflected and
transmitted waves. This subject is also taken up in
Section 4.2.7.

{c) Diffraction phenomena. Seismic energy trav-
els along other paths besides those given by Snell’s
law. Whenever a wave cncounters a feature whose
radius of curvature is comparable to or smaller than
the wavelength, the ordinary laws of reflection and
fefraction no longer apply. In such cases, the energy
s diffracted rather than reflected or refracted. Be-
Cause seismic wavelengths are large (often 100 m or
more) compared with many geologic dimensions,
d?ffracu'on is an important process. The laws of
diffraction are complex, but at distances greater than
Several wavelengths from the diffracting source, the
diffiracted wavefront is essentially that given by Huy-
gens’ construction (Trorey, 1970).

Figure 4.13 illustrates the method of constructing
diffracted wavefronts produced by a faulted bed. We
assume a plane wavefront 4B incident normally on
the faulted bed CO; the position of the wavefront
when it reaches the surface of the bed at ¢ =1 is
COD. At t =ty + A¢, the portion to the right of O
has advanced to the position GH, whereas the por-
tion to the left of O has been reflected and has
reached the position EF. We might have constructed
the wavefronts EF and GH by selecting a large
number of centers in CO and OD and drawing arcs
of length VA:. EF and GH would then be deter-
mined by the envelopes of these arcs. However, for
the portion EF there would be no centers to the
right of O to define the envelope, whereas for the
portion GH there would be no centers to the left of
O to define the envelope. Thus, O marks the transi-
tion point between centers that give rise to the
upward-traveling wavefront EF and centers that give
risc to the downward-traveling wavefront GH. The
arc FPG with center O is the diffracted wavefront
originating at O and connecting the two wavefronts
EF and GH. The diflracted wavefront also extends
into the geometrical shadow area GN and into the
region FM. Diffraction events will be discussed in
Section 4.4.3. Sheriff and Geldart (1982, pp. 59-64)
give an analytic treatment of diffraction.

(d) Dispersion: group velocity. The velocity V, a,
or B, which appears in Equations (4.14) to (4.29), is
known as the phase velocity because it is the distance
traveled per unit time by a point of constant phase,
such as a peak or trough. This is not necessarily the
same as the speed with which a pulse of energy
travels, which is the group velocity and will be
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Figure 4.14. Comparison of group and phase velocities. (a) Definition of group velocity
U. (b) Arrival of a dispersive wave at successive geophones.

denoted by U. Consider, for example, the wave train
shown in Figure 4.14a. We could determine the
group velocity U by drawing the envelope of the
pulse (the double curve ABC, AB’C) and measuring
the distance that the envelope travels in unit time.
The relation between U and V is shown in Figure
4.14b, where V is given by the rate of advance of a
certain phase (such as a trough), whereas U is mea-
sured by the speed of the maximum amplitude of the
envelope.

1f we decompose a pulse into its component fre-
quencies by Fourier analysis, we find a spectrum of
frequencies. If the velocity is the same for all fre-
quencies, the pulse shape will remain the same and
the group velocity will be the same as the phase
velocity. However, if the velocity varies with fre-
quency, the pulse changes shape as it travels and the
group velocity is different from the phase velocity,
that is, the medium is dispersive. It can be shown

® Al

Group velocity = %‘ =V
¢

Phase velocity = ax _y

(see problem 3c) that the group velocity U is

dv av
U=sV-A—=V+vr— (4.%)
dv J

dA

where V, A, w, dV/d\, and dV/dv are aversg:
values for the range of frequencies that makes up !h‘;
principal part of the pulse.

When V decreases with frequency, V is lagd
than U. This is called normal dispersion and is il ,
trated in Figure 4.14 where the envelope tIﬂVd{._j
slower than the individual cycles, which overd¢ .
and pass through the envelope and disappear as they,
reach the leading edge. When ¥ increases with Iff,
quency, the opposite is true.

Dispersion is not a dominant feature of expl
ration seismology because most rocks exhibit 11‘
variation of velocity with frequency in the seiS0
frequency range. However, dispersion is important
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connection with surface waves and certain other
phenomena.

4.2.7. Pattitioning of Energy at an Interface

When a wave arrives at a surface separating two
media having different elastic properties, it gives rise
to reflected and refracted waves as previously de-
scribed. At the boundary, the stresses and displace-
ments must be continuous. Two neighboring points
R and S. which lie on opposite sides of the bound-
ary as shown in Figure 4.15, will in general have
different values of normal stress. This difference re-
sults in a net force that accelerates the layer between
them. However, if we choose points closer and closer
together, the stress values must approach each other,
and in the limit when the two points coincide on the
boundary, the two stresses must be equal. If this
were not so, the infinitesimally thin layer at the
boundary would be acted on by a finite force and
hence have an acceleration that would approach
infinity as the two points approach each other. Be-
cause the same reasoning applies to a tangential
stress, we see that the normal and tangential compo-
nents of stress must be continuous (cannot change
abruptly) at the boundary. Likewise the normal and
tangential components of displacement must be con-
tinuous. If the normal displacement were not contin-
uous, one medium would either separate from the
other, leaving a vacuum in between, or else would
Penetrate into the other so that the two media would
occupy the same space. If the tangential displace-
Ment were not continuous, the two media would
move differently on opposite sides of the boundary
and one would slide over the other. We rule out such
n_lotion for rocks, and so displacement must be con-
linuous at the boundary.

The continuity of normal and tangential stresses
and displacements at the boundary can be expressed
Y means of four equations (boundary conditions)
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figure 4.16. Waves generated at an interface by an inci-
dent P wave.

that the wave motion must obey at the interface.
Assume a plane P wave with amplitude 4, incident
on the boundary between two solid media. Snell’s
law fixes the angles of reflection and refraction
whereas the amplitudes of the reflected and refracted
waves are fixed by the four boundary conditions.
However, to satisfy four equations we must have
four unknown amplitudes; hence four waves must be
generated at the boundary. These correspond to re-
flected and refracted P waves and reflected and
refracted § waves. This is illustrated in Figure 4.16
where 4, A4,, 0,, and 6, are the amplitudes and
angles of the reflected and refracted P waves and
By, By, Ay, and A, are the amplitudes and angles of
the reflected and refracted S waves.
Snell’s law tells us that '
sin A,

sinf, sind, sinA,

o o B B

{This morc general statement of Snell’s law can be
derived following the same reasoning used to derive
Eq. (4.35).] The equations governing the amplitudes
were first given by Knott (1899), but he expressed
them in terms of potential functions from which the
displacements must be found by differentiation. The
corresponding equations in terms of amplitudes were
given by Zoeppritz (1919) in the following form [sec
Sheriff and Geldart (1982, pp. 65-6) for derivations
of Zoeppritz's and Knott’s equations]:

=p (437)

Aycos by — BysinA; + Aycos6, + By sin A,

= Agcos b, (4.38)
Aysinb, + By cosA, — A,sinf, + B, cos A,
= —A, sin, (4.39)

AyZy cos2hy — By\W, sin2\; — A,Z,cos 2\,
= ByWysin2X, = —A,Z, cos2\,  (4.40)
AWy sin20, + B\W, cos2\; + Ay, W, sin 26,
~ B,W, cos 2\, = Ay, W, sin 26, (4.41)

S

>
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Table 4.2. Energy reflected at the interface between two media.

Seismic methogs

First medium

Second medium

Interface Velocity  Density  Velocity Density 2./Z; R £
Sandstone on limestone 20 24 30 i 0.7 (20 0.040
Limestone on sandstone 30 24 20 2.4 1.5 0.20 0.010
Typical shallow interface 2.1 24 23 24 .91 0045 0.001
Typical deeper interface 43 24 A5 24 0.9 0023 0.000:
“Soft” ocean bottom 1.5 10 1.5 20 0.50 033 0.1
“Hard"” ocean bottom 1.5 1.0 30 2.5 0.20 07 0.44
Surface of ocean (from below) 1.5 1.0 Q.56 0.0012 3500 —- .09 0.9988
Base of weathering 05 1.5 20 20 0,19 0.68 0.47

Note: All velocities are in km/s and densities are in g/cnt.

where

Y = Bi/o; Z; = p;o; W, = p:B; i=12

These equations govern the amplitudes of all the
waves that result from an interface, but they involve
so many parameters that it is difficult to generalize
from them.

The products of density and velocity (Z; and W))
are known as acoustic impedances. To apply these
equations at an interface, we must know the density
and velocity in each of the media, hence Z;, Z,, W,
W,, . and v, are known. For a given 4, and 6,, we
can calculate 8,, A,, and A, from Equation (4.37)
and the four amplitudes, 4,, 4,, B, and B,, [rom
Equations (4.38) to (4.41).

Zoeppritz’s equations reduce to a very simple
form for normal incidence. Because the curves change
slowly for small angles of incidence (say up to 20°),
the results for normal incidence have wide applica-
tion. For a P wave at normal incidence, the tangen-
tial stresses and displacements are zero; hence B, =
B, = 0 and 8, = 8, = 0, so Equations (4.38) to (4.41)
reduce to

A, + A3 =4,
Z, 4, - 24, ="'21A0

The solution of these equations is

R _ A4

4.42
S 22 (4.42)
T4y Z,+ 7,

These ratios usually are called the normal reflection
and transmission coefficients. but the fractions of the
incident energy that are reflected and refracted are

also sometimes called by these names. Writing E,
and E, for the fractions of the incident encrgy
reflected and transmitted. we find. from Equations
(4.32) and (4.42),

Eo = _%ixlplszf 72 Zl)
R %“lplsz(] 72 1 Z (453
i = %azpzwzxi% B 47,7,
T Yoy py?A (Z, + Zx)2
Ep+ Ep=1 (4‘44)

For a wave incident on an interface from the
opposite direction, we interchange Z;, and Z,. This
will change the sign of R and the value of T, but
leave E, and Fr unchanged. Hence the partition of
energy does not depend on which medium contains
the incident wave. When the impedance contrast
vanishes, £z =0 and all the energy is transmilted
(note that this does not require that p; = p, and
&, = a,). As the impedance contrast approaches 0 of
oc, T approaches zero and R approaches unity;
thus. the farther the impedance contrast is from
unity, the stronger the reflected energy.

Table 4.2 shows how the reflected encrgy varics
for impedance contrasts such as might be expected
within the carth. Because both density and velocity
contrasts are small for most of the intcrfaces encoulr
tered, only a small portion of the cnergy is reflected
at any one interface; this is illustrated by the first
four lines in Table 4.2. The sandscone-on-limestoi |
interface is about as large a contrast as is apt to bt ]
encountercd. whereas the typical shallow interfact
and the typical deep interface figures are more fepr
sentative of most interfaces in the earth. Hent
usually appreciably less than 1% of the energ)’lls-
reflected at any interface. The major exceptions I 3
volve the bottom and surface of the ocean and ¥
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Figure 4.17. Partitioning of energy between transmitted and reflected waves as a
function of angle of incidence for the case of an incident P wave. TP = fraction of
energy in transmitted P wave, RP = fraction in reflected P wave, TS = fraction in
transmitted S wave, and RS = fraction in reflected S wave. (From Tooley, Spencer, and
Sagoci, 1965.) (a) Case where velocity in the incident medium is larger: ay/a; = 0.5,
0/ = 08 o =03, and g, = 0.25 (b) Case where velocity in the incident medium is
smaller: a/eaq = 2.0, p,/py = 05, 0, = 0.3, and o, = 0.25. (c) Fraction of energy reflected
as P wave for various P-wave velocity ratios and p,/p, = 1.0, o, =g, = 0.25 (from
Denham and Palmeira, 1984). (d)fraction of energy reflected as a P wave for various

density ratios and a,/a, = 1.5, 6, = g, = 0.25,

base of the weathering (§ 4.2.8b). A much larger
proportion of the energy can be refiected from these
and hence they are especially important in the gener-
ation of multiple reflections and other phenomena
that we shall deal with later. The land surface is
usually of less importance than the base of the
weathering for multiple generation because increased
travel in the weathered layer involves appreciable
absorption.

A negative value of R means that the reflected
wave is 180° out of phasc with the incident wave.
Thus, for an incident wave A,cos wt, the reflected
wave is A, cos(wt + ). Phase reversal occurs when
Z, exceeds Z, (see Table 4.2).

Turning now to the general case where the angle
of incidence is not nccessarily zero, we illustrate
solutions of Zoeppritz's equations with graphs that
show the energy partition as functions of the angle
of incidence for certain values of parameters. Many
curves would be required to show the variations of
energy partitioning as a function of incident angle

because of the many parameters that can be varied:
incident P, SH, or SV wave, P wave velocity ratio,
density ratio, and Poisson ratio for each medium or
equivalent values (such as S- to P-wave velocity
ratios). Figure 4.17 shows several cases representa-
tive of the variety of results possible.

Figure 4.17a shows the partitioning of energy
when a P wave is incident on a medium of lower
velocity. For small incident angles, almost all of the
energy is in the reflected and transmitted P waves
and hence hardly any S waves are gencrated. As the
incident angle increases, some of the energy goes
into reflected and transmitted S waves, and at inter-
mediate angles the reflected S wave carries more
energy than the reficcted P wave. Such converted
waves (waves resulting from the conversion of
P waves to § waves or vice versa at an interface) are
sometimes recorded at long offsets (§ 4.5.2b) where
they are evidenced by alignments that disappear as
one tries to follow them to shorter offsets. As grazing
incidence is approached, the energy of the reflected

e
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P wave increases until at 90° all of the energy stays
in the P wave in the incident medium.

The opposite situation is shown in Figure 4.17b
where a P wave is incident in the low-velocity
medium. Because the change in density is opposite to
the change in velocity such that Z, = Z,, the P-wave
reflection coefficient is essentially zero for small inci-
dent angles. As the incident angle increases, S-wave
energy increases. As the critical angle for P waves is
approached, the transmitted P-wave energy falls
rapidly to zero and no transmitted P wave exists for
larger incident angles. Also as the critical angle is
approached, reflected P and S waves become very
strong; such a buildup of reflection strength near the
critical angle is called wide-angle reflection. Some-
times offsets are increased to take advantage of this
phenomenon to map reflectors that cannot be fol-
lowed at short offsets (Meissner, 1967). As the criti-
cal angle for S waves is approached, the transmitted
S wave falls to zero.

Figure 4.17c shows the P-wave reflection coeffi-
cient for various P-wave velocity ratios when there is
no density or Poisson-ratio contrast. The reflected
energy is zero for a velocity ratio of umity (no
impedance contrast) and increases as the velocity
ratio increases or decreases. The peaks for a,/a) > 1
occur at the critical angles for the P and S waves,
respectively. Figure 4.17d shows the energy of the
reflected P wave for various density contrasts.

The graphs in Figure 4.17 generally show that the
reflected amplitude decreases slightly as the angle of
incidence increases, which is equivalent to saying
that the P-wave amplitude decreases as the offset
(source-to-geophone distance) increases. However,
Shuey (1985) shows theoretically that the amplitude
may increase if Poisson’s ratio' changes appreciably.
Such a change may occur when gas fills the pore
space in a rock. Ostrander (1984) observed on field
records such behavior associated with gas reservoirs.
This behavior of amplitude with offset is used as an
indicator of hydrocarbon gas (§ 4.10.8).

4.2.8. Seismic Velocity

(a) Factors affecting velocity. Equation (4.28)
shows that the velocity of P waves in a homoge-
neous solid is a function only of the elastic constants
and the density. One might expect that the elastic
constants, which are properties of the intermolecular
forces, would be relatively insensitive to pressure,
whereas the density should increase with pressure
because rocks are moderately compressible. This
would lead one to expect that the numerator in the
expression for velocity would not change very much
with increasing pressure whereas the denominator
would get larger so that velocity would decreasc with

Seismic methods

depth of burial in the earth. In fact, this is contrary
to actual observations. ‘

Birch (1966) shows wide ranges in the velocity of
any given rock type, as illustrated in Figure 418,
Whereas most rocks are mixtures of different miner.
als, cven if we were to consider only rclatively “pure”
rocks, such as sandstones composed mainly of quarg;
or limestones that are almost pure calcite, we would
encounter a wide range of velocity values, almost a))
of them lower than the values for quartz or calcite.

The most important aspect in which scdimenlary
rocks differ from homogeneous solids is in having
granular structure with voids between the grains,
These voids are responsible for the porosity of rocks
(§ 11.1.4) and porosity is the important factor in
determining velocity. Sheriff and Geldart (1983,
Chap. 7) discuss this and other factors that affect
velocity.

Gassmann (1951) derived an expression for the
velocity in a model consisting of tightly packed
elastic spherical particles under pressure such that
the contacts between the spheres become areas rather
than points. The elastic constants of such a pack
vary with pressure. and the effect is to make the
P-wave velocity vary as the 1/6th power of the
pressure. Faust (1953) found an empirical formula
for velocity in terms of the depth of burial Z and the
formation resistivily R:

v =12x103(zZrR)"* (4.45)
V is in feet per sccond when Z is in feet and R isin
ohm-feet. However, the deviations of individual mea-
surements were very large, which indicates the pres-
ence of other factors that this equation docs not take
into account.

An earlier form of Faust's law (Faust, 1951) also
included the age of the rock as a factor in determin-
ing velocity. An older rock might be expected to
have a higher velocity, having been subjected for a
longer time to pressures, cementation, and other
factors that might increase its velocity.

In actual rocks, the pore spaces arc filled with a
fluid whose clastic constants and density also affect
the seismic velocity. Oil is slightly more compressible
than water, so oil-filled pores result in slightly lower
velocity than water-filled pores. Gas is considerably
more compressible than water and so gas-filled pores
often result in much lower velocity. Even a small
amount of gas may lower velocity appreciably
(Domenico, 1977). These effects arc used as hydro-
carbon indicators (§ 4.10.8).

The fluid in rock pore spaces is under a pressur
that usually is different from that due to the weight
of the overlying rocks. In this situation, the effective

pressure on the granular matrix is the different®
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figure 4.18. Measurement of velocity in different rock types reported by Birch (1966).

(From Sheriff and Geldart, 1983.)

between the overburden and fluid pressures. Where
formation fluids are under abnormally high pres-
sures, sometimes approaching the overburden pres-
sure, the seismic velocity is exceptionally low, a fact
that is sometimes used to predict abmormal fluid
pressure from velocity measurements (Bilgeri and
Ademeno, 1982).

Subjecting a porous rock to high pressure results
in both reversible and irreversible changes in poros-
ity, that is, when the pressure is removed, a small
part of the original porosity is regained whereas
most is permanently lost, perhaps because of crush-
ing of the grains, alteration of the packing, or other
permanent structural changes. Empirical data sug-
gest that the maximum depth to which a rock has
been buried is a measure of the irreversible effect on
porosity. In summary, porosity appears to be the
dominant variable in determining the velocity in
sedimentary rocks, and porosity in turn is deter-
mined principally by the existing differential pres-
sure and the maximum depth of burial.

The variation of velocity with depth (Fig. 4.19),
referred to as the velocity function, is frequently a
reasonably systematic increase as we go to greater
depths. Areas of moderately uniform geology, such
as the U.S. Guif Coast, exhibit relatively little hori-
zontal variation in velocity from area to area. Be-
cause of seaward dip. as one goes seaward, younger
section is encountered at a given depth but the
velocity does not vary greatly horizontally; the maxi-
mum pressures to which the rocks have been sub-

Jected are thc existing pressures, which depend
mainly on depth, not age. On the other hand, areas
subject to recent structural deformation and uplift,
such as Califorps a, exhibit rapid horizontal variation

of velocity from area to area. Many of the California
rocks have been buried to greater depths and sub-
Jected to greater stresses than exist at present, result-
ing in rapid lateral changes in velocity, which pro-
foundly affect seismic interpretation.

The variation of velocity with density is shown in
Figure 4.20. The large range of velocity for any given
lithology (for example, shale velocities range from
1.6 to 4.0 km/s) tells the same story as Figure 4.18.
The overlap of ranges of velocity makes it impossible
to tell the lithology of a sample merely from its
velocity. The range of density values results mainly
from different porosities, and the curves would look
very similar if velocity had been plotted against
porosity. The dotted line in Figure 4.20 is sometimes
used when a relation between velocity and density is
needed, as in synthetic seismogram manufacture,
seismic log calculation, and other situations.

The empirical time-average equation is often used
to relate velocity V and porosity ¢. It assumes that
the traveltime per unit path length in a fluid-filled
porous rock is the average of the traveltimes per unit
path length in the matrix material 1/¥,, and in the
fluid 1/V; where the traveltimes are weighted in
proportion to their respective volumes:

1_9 0-9)
14 vV

m

(4.46)

e

This relationship is used extensively in well-log inter-
pretation.

Whereas the velocity of S waves is generally
about half that of P waves, the factor relating the
two velocities varies with the lithology and is
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occasionally used to determine lithology (Domenico,
1984). The velocity of S waves is relatively insensi-
tive to the nature of the fluid filling rock pore spaces,
in contrast to that of P waves. Thus a local change
in~the S-wave to P-wave velocity ratio constitutes
another hydrocarbon indicator (§ 4.10.8).

The irreversible change in porosity (and conse-
quently in velocity) with depth of burial has been
used to determine the maximum depth at which a
section formerly lay. If the velocity-depth relation-
ship for a given lithology can be established in an
area not subjected to uplift, the maximum depth of
burial can be ascertained from the observed veloc-
ity~depth relationship, and hence the amount of the
uplift can be inferred. In Figure 4.21 the shale and
limestone regression lines (curves 4 and B) repre-
sent measurements on “ pure” shales and limestones
that are believed to be at their maximum depth of
burial. Curve C, which is obtained from these curves
by interpolation, is the predicted curve based on the
relative amounts of shale and limestone actually
present and assuming the rocks to be at their maxi-
mum depth of burial. The displacement in depth
_rcquired to fit this curve to the actual measurcments
18 presumed to indicate the amount of uplift that has
occurred.

Velocity and its effects are discussed more thor-
oughly in Sherifl and Geldart (1983, pp. 2-16) and
Cordier (1985).

(b) The weathered or low-velocity layer. Scismic
velocities that are lower than the velocity in water
usually imply that gas (air or methane, probably

Velocity (km /s)

Figure 4.21. Finding maximum depth of burial from velocity. The shale and limestone
regression lines represent rocks believed to have not been uplifted. (From jankowsky,

resulting from the decomposition of vegetation) fills
at least some of the pore space (Watkins, Walters,
and Godson, 1972). Such low velocities are usually
found only near the surface in a zone called the
weathered layer or the low-velocity layer, often abbre-
viated LVL. This layer, usually 4 to 50 m thick, is
characterized by seismic velocities that are not only
low (usually between 250 and 1000 m/s) but at times
highly variable. Frequently the base of the LVL
coincides roughly with the water table, indicating
that the low-velocity layer corresponds to the aerated
zone above the water-saturated zone, but this is not
always the case. Obviously the term * weathering” as
used by geophysicists differs from the geologist's
“weathering,” which denotes the disintegration of
rocks under the influence of the elements.

The importance of the low-velocity layer is four-
fold: (1) The absorption of seismic energy is high in
this zone, (2) the low velocity and the rapid changes
in velocity have a disproportionately large effect on
traveltimes, (3) the marked velocity change at the
base of the LVL sharply bends seismic rays so that
their travel through the LVL is nearly vertical re-
gardless of their direction of travel beneath the LVL,
and (4) the very high impedance contrast at the base
of the LVL makes it an excellent reflector, important
in multiple reflections and in wave conversion. Be-
cause of the first factor, records from shots in this
layer often are of poor quality and efforts are made
to locate the shot below the LVL. Mcthods of inves-
tigating the low-velocity layer are discussed in Sec-
tion 4.5.2e and methods of correcting for it in Sec-
tion 4.7.1.

~

o
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(c) Permafrost. Because the thermal conductivity
of most rocks is so small, seasonal changes in the
surface temperature do not significantly affect tem-
peratures below a few meters, where the temperature
approximates the average surface temperature. The
result in arctic regions is a zone of permanently
frozen rocks called permafrost. Frozen rocks gener-
ally have very high velocities, often 3.0 to 3.8 km/s
or higher. The permafrost may be very irregular in
thickness and often disappears completely under
lakes that do not freeze solidly during the winter.
The laterally variable nature of the permafrost re-
sults in time shifts and distortions that are often very
difficult to remove. The very upper portion that is
affected by surface temperature variations is called
the active layer, and its velocity and other physical
properties change seasonally by large amounts. Per-
mafrost may even be present under the ocean, pre-
sumably having formed during a time of lowered sea
level.

4.3. GEOMETRY OF SEISMIC WAVEPATHS

4.3.1. Reflection Paths in a
Constant-Velocity Layer

(a) General. The basic problem in reflection seis-
mic surveying is to determine the position of a bed
that gives rise to a reflection on a seismic record. In
general, this is a problem in three dimensions. How-
ever, the dip is often very gentle and the direction of
profiling is frequently nearly along either the direc-
tion of dip or the direction of strike. In such cases
2.D solution is generally used. We shall discuss the
2-D problem in the next two sections and then the
more general problem.

The exact interpretation of reflection data re-
quires a knowledge of the velocity at all points along
the reflection paths. However, even if we had such
detailed knowledge, the calculations would be te-
dious and often we would assume a simple distribu-
tion of velocity that is close enough to give usable
results. The simplest assumption is that the velocity
is constant between the surface and the reflecting
bed. Although this assumption is rarely even approx-
imately true, it leads to simple formulas that give
answers that are within the required accuracy in
many instances.

(b) Horizontal reflector: normal moveout. The
simplest 2-D problem is that of zero dip, illustrated
in the lower part of Figure 422. The reflecting bed
AB is at a depth h below the source S. Energy
leaving S will be reflected in such a direction that
the angle of reflection equals the angle of incidence.

Seismic methods

Although the reflected ray CR can be determined
by laying off an angle equal to a at C. it is easier to
make use of the image point /, which is located on
the same normal to the reflector as § and as far
below the bed as S is above. If we join [ to C and
prolong the straight line to R, CR is the reflected ray
(since CD is parallel to SI, making all the angles
marked a equal).

Denoting the velocity by V., the travel time ¢t for
the reflected wave is (SC + CR)/V. However,
SC = CI so that IR is equal in length to the actual
path SCR. Thercfore, 1 = IR/V and in terms of x
the source-to-geophone distance (offser), we can write

Vi = x? + 4h?
or viz  x?

W

(4.47)

Thus the traveltime curve is a hyperbola as shown in
the upper part of Figure 4.22.

The geophone at R will also record the direct
wave that travels along the path SR. Because SR is
always less than (SC + CR), the dircct wave arrives
first. The traveltime is ¢, = x/V and the traveltime
curves are the straight lines OM and ON passing
through the origin with slopes of +1/V.

When the distance x becomes very large, the
difference between SR and (SC + CR) becomes
small and the reflection traveltime approaches. the
direct wave traveltime asymptotically.

The location of the reflecting bed is determined
by measuring f,. the traveltime for a geophone at the
source. Setting x = 0 in Equation (4.47), we see that

h=13W, (4.48)
Equation (4.47) can be written
5 x? an?  x* )
t=Tﬁ+7—_—7—2—+zo (4.49)

If we plot 2 against x? (instead of ¢ versus x as in
Fig. 4.22), we obtain a straight line of slope 1/ VY
and intercept (2. This forms the basis of a well-known
scheme for determining V. the “X? — T2 method,”
which will be described in Section 4.5.5c.

We can solve Equation (4.49) for ¢, the traveltime
measured on the seismic record. Generally 2h i
appreciably larger than x so that we can usc 2
binomial expansion as follows:
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Figure 4.22. Geometry and traveltime curve for horizontal reflector.

The difference in traveltime for a given reflection
for two geophone locations is known as moveour and
it is represented by Ar. If 1, t,. x,. and x, are the
traveltimes and offsets, we have to the first approxi-
mation

A *— i (4.51)
1=t -t~ =2 .
T oy,

In the special case where one geophone is at the
source, At is known as the normal moveout, which
we shall denote by Ar,. Then,

x?

Ar, =
Tk,

(4.52)

At times we retain another term in the expansion:

x x* x2 x \?
A1, = - = 1 - (_) .
Wiy 84 vy, { 4h

(4.53)

From Equation (4.52) we note that the normal
Moveout increases as the square of the offset x,
Inversely as the square of the velocity, and inversely

as the first power of the traveltime [or depth: see Eq.
(4.48)]. Thus reflection curvature increases rapidly as
we go to more distant geophones and. at the same
time, the curvature becomes progressively less with
increasing record time.

The concept of normal moveout is extremely im-
portant. It is the principal criterion by which we
decide whether an event observed on a seismic record
is a reflection or not. If the normal moveout differs
from the value given by Equation (4.52) by more
than the allowable experimental error, we are not
justified in treating the event as a reflection. One of
the most important quantities in seismic interpreta-
tion is the change in arrival time caused by dip. To
find this quantity, we must correct for normal move-
out. Normal moveout must also be eliminated before
“stacking” (adding together) common-midpoint
records (§ 4.7.8). Finally, Equation (4.52) can be
used to find V' by measuring x, #,, and At,. This
forms the basis of velocity analysis (§ 4.7.7).

(¢} Dipping reflector: dip moveout. When the bed
is dipping in the direction of the profile, we have the
situation shown in Figure 4.23, where £ is the dip
and 4 is the depth (normal to the bed). To draw the
raypath for the reflection arriving at the geophone R,
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Figure 4.23. Geometry and traveltime curve for dipping
reflector.

we join the image point I<to R by a straight line
cutting the bed at C. The path is then SCR and
t = (SC + CR)/V. Because (SC + CR) = IR, ap-
plication of the cosine law to the triangle SIR gives

V2 = IR?
o
= x? + 4h* - Mmcos(E + g)

(&

x? + 4h* + 4hx sin § (4.54)

On completing the squares, we obtain

Vil (x + 2hsin§)”
(2h cos £)? (2h cost)? N

Thus, as before, the traveltime curve is a hyperbola,
but the axis of symmetry is now the line x =
—2hsin ¢ instead of the ¢ axis. This means that ¢
has different values for geophones symmetrically
placed on opposite sides of the source, unlike the
case for zero dip.

Setting x = 0 in Equation (4.54) gives the same
value for h as in Equation (4.48). Note, however,
that 4 is not the vertical depth here as it was in the
earlier result.

To obtain the dip £, we solve for ¢ in Equation
(4.54) by assuming that 2k is greater than x and
expanding as in the derivation of Equation (4.50).

Seismic methaods

2h x2 + dhxsin & 12
=14 —_
14 4n*
L+ x2 4 4hx sin £
=t ——
? 8h? )

using only the first term of the expansion. The sim-
plest method of finding £ is from the difference in
traveltimes for two geophones equally distant from,
and on opposite sides of, the source. Letting x have
the values +Ax for the downdip geophonc and
—Ax for the updip geophone and denoting the
equivalent traveltimes by £, and 1, we get

Then

(4.55)

1

(Ax)2 + 4hAxsin €
{1+
0 8h?

{ (Ax)2 — 4hAx sin&}
ty= 1ol 1 +

8h?

Axsiné 2Ax
) = sin £

Aty=0 -t = to( P

The quantity (Ar,/Ax) is the dip moveout (this term
is also used with a different meaning in some seismic
processing). The dip is found from the equation

‘ VA,
sin § = 5 ( A ) (4.56)

For small angles, ¢ = sin& so that the dip 18
directly proportional to (Ar,/Ax) under these cir-
cumstances. To obtain the dip as accurately as possi-
ble, we use as large a value of Ax as the data quality
permits. For symmetrical spreads, we mcasure dip
moveout between the geophone groups at opposite
ends of the spread.

It should be noted that normal moveout was
climinated in the derivation of Equation (4.56). The
terms in (Ax)? that disappeared in the subtraction
represent the normal moveout.

Figure 4.24 illustrates diagrammatically the rela-
tion between normal moveout and dip moveout. The
diagram at the left represents a refiection from a
dipping bed: the alignment is curved and unsymmet-
rical about the source. Diagram (B) shows what
would have been observed if the bed had been hor-
zontal; the alignment is curved symmetrically about
the source position owing to the normal moveoul.
The latter ranges from 0 to 29 ms (1 millisecond =
10-3 s = 1 ms, the unit of time commonly used i
seismic work) at an offset of 600 m. Diagram (C) was
obtained by subtracting the normal movcouts shown
in (B) from the arrival times in (A). The resulting
alignment shows the effect of dip alor.e; it is straight
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Figure 4.24. Relation between normal moveout and dip moveout, (,= 1,000 s,

V= 2500 m/s.

and has a time difference between the outside curves
of 25 ms, that is, Ar,/Ax = 0.042 ms/m. Thus we
find that the dip is sin™' (2,500 X 0.021,/1,000) =
0.052 rad = 3.0°.

The method of normal-moveout removal illus-
trated in Figure 4.24 was used solely to demonstrate
the difference between normal moveout and dip
moveout. If we require only the dip moveout Az,, we
merely subtract the traveltimes for the two outside
geophones in (A).

We may not have a symmetrical spread and we
find the dip moveout by removing the effect of
normal moveout. As an example, refer to Figure
4.24, curve (D), which shows a reflection observed on
a spread extending from x = —200 to x = 4600 m.
Let 1,=1000s, 4 =0997 s 1,=1025s V=
2,800 m/s. From Equation (4.52) we get, for A, at
offsets of 200 and 600 m, respectively, the values 3
and 23 ms (rounded off to the nearest millisecond
because this is usually the precision of measurements
on seismic records). Subtracting thesc values, we
obtain, for the corrected traveltimes, =094 s
and ¢, = 1.002 s. Hence, the dip moveout is 8,/400
=0.020 ms/m. The corresponding dip is sin™ (4 x
2,800 x 0.020,/1,000) = 0.03 rad = 2°.

An alternative to the preceding method is to use
the arrival times at x = —200 and x = +200 m.
thus obtaining a symmetrical spread and eliminating
the need for calculating normal moveout. However,
doing this would decrease the effective spread length

Figure 4.25. Finding the angle of approach of a wave.

from 800 to 400 m and thereby reduce the accuracy
of the ratio (At,/Ax).

Equation (4.56) is similar to the equation that
gives the angle of approach of a plane wave as it
reaches the surface. In Figure 4.25, AC represents
an upward-traveling plane wave at the instant when
it arrives at the end of the spread, 4. After a further
interval A¢, the same wave reaches the other end of
the spread, B. Then, BC = VAt and

i s 4 a1 4.57
sing=— = }V— 5
P4 T T ax (4.57)
This result, although similar in form to Equation
(4.56) has a different significance because it gives the
direction of travel of a plane wave as it reaches the
spread. V is the average velocity between C and the
surface. In Equation (4.56), V is the average velocity
down o the reflector and £ is the angle of dip. The
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Figure 4.

two formulas give the same angle because V' is
constant down to the reflector and 2 Ax in Equation
(4.56) is the same as Ax in Equation (4.57). Often V
will not be constant, as we shall see presently.

(d) Cross dip. When the profile is not perpendicu-
lar to the strike, the determination of dip becomes a
3-D problem. In Figure 426 we take the xy plane as
horizontal with the z axis extending vertically down-
ward. The line OP of length h is perpendicular to a
dipping plane bed that outcrops (that is, intersects
the xy plane) along the line MN if sufficiently ex-
tended.

We write 8,, 6,, and § for the angles between OP
and x. y, and z axes. The cosines of these angles
(the direction cosines of OP) have the values £, m,
and n. Equation (A.8) states that

2+mt+nt=1

The angle ¢ between MN and the x axis is the
direction of strike of the bed whereas ¢ is the angle
of dip.

The path of a reflected wave arriving at a geo-
phone R on the x axis can be found using the image
point I. The linc joining I to R cuts the reficctor at
Q: hence OQR is the path. Since 0Q = QI, the line
IR = Vi where t is the traveltime for the geophone
at R. The coordinates of I and R are, respectively,
(2h¢, 2hm, 2hn) and (x, 0, 0). Hence we have

V22 = IR?
=(x-2h¢) + (0~ 2hm)? + (0 = 2hn)’
= x? + 4R} (L2 + mP n*) — 4hix
= x2 + 4h® — 4hfx

When x = 0, we obtain the same relation be-
tween h and 1, as in Equation (4.48). Proceeding as

26. Three-dimensional view of a reflection path

for a dipping bed.

in the derivation of Equation (4.55), we get, for the sy
approximate value of f, 0
£
| x? — 4hfx) &
1=\l

0 gh® )

By subtracting the arrival times at two geophones -
located on the x axis at x = £4x, we find

£Ax)
x 10( h )

A =
2/Ax

If we also have a spread along the y axis (cross

spread; sce § 4.5.2b), we get
V(A
2\ Ay

re Ar. is the time difference (cross dip) bet

whe y
geophones a distance 2 Ay apart and symme

about the shotpoint. Because

(459)

m=cosb, =

ween
trical

n=cost={1-(+ mz)}l/2
sing=(1- nz)’/;z = (¢ + m")l/2

{ 2 2y 1/2 §
£ A

_li (A"‘) + _-Il (4.60) ¥

2\ Ax Ay k 1

When the profile lines are not perpendiculaf, for 1

1 one is along the x axis and the othe! &

axis al an angle 8 to the x axis,
thof8 A

example, whe

along the y’
solution is more complicated. Taking the leng
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Figure 4.27. Resolution of cross-spread information.

symmetrical spread along the y’ axis as 24y, the
coordinates of the ends of this spread (relative to the
x, y, and z axes) are (Ay’cos B, Ay’sin B, 0) and
(—~Ay’cos B, —Ay’sin B, 0). Then
V2% = (2h¢ 4+ Ay cos B)’
+(2hm £ Ay'sin B)* + (2hn)?
= (Ay)> + 4h* + 4h A y'(£cos B + msin B)

The moveout becomes
24y’ )
A = —V—(t’cosB + msin B)
or

’

V(A
(¢cosB + msinB) = E—( Ay’) (4.61)

+ The measured moveouts, At, and Ar’, give the
values of £ and (£ cos 8 + m sin B) using Equations
(4.58) and (4.61). Because 8 is known, m can be
found using Equation (4.60). The solution can also
be found graphically as shown in Figure 4.27 (see
also problem 5).

To find the strike ¢, we start from the equation of
a plane (that is, the reflector) that has a perpendicu-
lar from the origin of length k and direction cosines
(¢, m, n), namely

& x4+ my+nz=nh

Se".illg z = 0 gives the equation of the line of inter-
section of the reflector and the surface (MN in Fig.
4.26 or 4.28). This strike line has the equation

It ¥

i, Cx + my=h

>
b
cattt

him

Figure 4.28. Determination of strike.

The intercepts of this line on the x and y axes are
h/¢ and h/m. Referring to Figure 4.28, we find that

h h . £ A, \{ Ay Ar,
tan¢_;T_{_nr—(Ax) At B Ar,
- (4.62)

when Ax = Ay. The strike can also be found using
the construction shown in Figure 4.27.

4.3.2. Velocity Gradient and
Raypath Curvature

(a) Effect of velocity variations. The assumption
of constant velocity is not valid, in general, because
the velocity usually changes as we go from one point
to another. In petroleum exploration we are usually
dealing with more-or-less flat-lying bedding, and the
changes in seismic velocity as we move horizontally
are, for the most part, the result of slow changes in
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density and elastic properties of the beds. These
horizontal variations are generally much less rapid
than the variations in the vertical direction where we
are going from bed to bed with consequent lithologi-
cal changes and increasing pressure with increasing
depth. Because the horizontal changes are gradual,
they can often be taken into account by dividing the
survey area into smaller areas within each of which
the horizontal variations can be ignored and the
same vertical velocity distribution can be used. Such
areas often are large enough to include several struc-
tures of the size of interest in oil exploration so that
changes from one velocity function to another do
not impose a serious burden on the interpreter.

(b) Equivalent average velocity. Vertical varia-
tions in velocity can be taken into account in various
ways. One of the simplest is to use a modification of
the constant velocity model. We assume that the
actual section existing between the surface and a
certain reflecting horizon can be replaced with an
equivalent single layer of constant velocity V' equal
to the average velocity between the surface and the
reflecting horizon. This velocity is usually given as a
function of depth (or of £y, which is nearly the same
except when the dip is large). Thus the section is
assigned a different constant velocity for each of the
reflectors below it. Despite this inconsistency, the
method is useful and is extensively applied. The
variation of the average velocity with ¢, is found
using one of the methods described in Section 4.5.5.
For the observed values of the arrival time ¢y, we
select the average velocity V corresponding to this
reflector. Using the values of f,, the dip moveout
At,/Ax, and V, we calculate the depth h and the dip
¢ using Equations (4.48) and (4.56).

(c) Velocity layering. A method that is commonly
used to take into account velocity variations is to
replace the actual velocity distribution with an ap-
proximate one that corresponds to a number of
horizontal layers of different velocities; the velocity
is constant within each layer. Simple equations such
as (4.48) and (4.56) are no longer appropriate be-
cause rays bend at each layer interface. We often
replace the actual raypaths with a scries of line
segments that are straight within each layer but
undergo abrupt changes in direction at the bound-
aries between layers. Dix (1955) shows that the effect
of this for a series of horizontal parallel layers is to
replace the average velocity ¥ in Equation (4.49) by
its root-mean-square (rms) value ¥, so that

2=+ X2 Vi (4.63)
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Figure 4.29. Raypath where velocity varies with depth,

where

n
Viens = (Z Vi,
1

V, and 1, are, respectively, the average velocity in
and the traveltime through, the ith layer (see also

Shah and Levin, 1973).

(d) Velocity functions. At times the assumption is
made that the velocity varies in a systematic continu-
ous manner and therefore can be represented by a
velocity function. The actual velocity usually varies
extremely rapidly over short intervals, as shown by
sonic logs (§ 11.7.2). However, if we integrate these
changes over distances of a wavelength or so (30 to
100 m). we obtain a function, which is gencrally
smooth except for discontinuities at marked litholog-
ical changes. If the velocity discontinuities are small,
we are often able to represent the velocity distribu-
tion with sufficient accuracy by a smooth velocily
function. The path of a wave traveling in such 8
medium is then determined by two integral equ# :
tions.

To derive the equations. we assume that the
medium is divided into a large number of thin hor!
zontal beds in each of which the velocity is constan®
When we let the number of beds go to infinity, 'h,
thickness of each bed becomes infinitesimal and.
velocity distribution becomes a continuous functiof
of depth. Referring to Figure 4.29, we have, for
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nth bed,

sini, sini,

2
V.= V.(2)
Ax, = Az, tani,
Az,
Ar, = -
V,cosi,

The raypath parameter p (§ 4.2.6b) is a constant that
depends on the direction in which the ray left the
shotpoint, that is, upon i;. In the limit when n
becomes infinite, we get

sini  sini,
= = V=V
” kA (2)
dx dt 1
= = i - = 4.65
dz tan dz Veosi ( )
Z z dz
x=j;tan1dz t=_/; VeosT
hence
z deZ
x = 12
° {1-(pv)’}
4.66
]z dZ ( )
= 172
o v{1-(pr)?)”

Since V is a function of z, Equation (4.66) fur-
nishes two intcgral equations relating x and ¢ to the
depth z. Thesc equations can be solved by numerical
methods when we have a table of values of V at
various depths.

4.3.3. Geometry of Refraction Paths

(a) Headwaves. In refraction seismology we make
use of waves that have been refracted at the critical
angle; these waves are often called headwaves. In
Figure 4302 we see a P wave incident on the
refracting horizon at the eritical angle 8. After re-
fraction it travels along the interface in the lower
medium. This produces an oscillatory motion paral-
lel to and immediately below the interface (as shown
by the double-headed arrow just below the interfacc).
Because relative motion between the two media is
Dot possible, the upper medium is forced to move in
Phase with the lower medium. The disturbance in the

- upper medium travels along the interface with the
;Same velocity V, as the refracted wave just below the
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interface. Let us assume that these disturbances rep-
resented by the arrows reach the point P in Figure
4.30b at the time . According to Huygens' principle,
P then becomes a center from which a wave spreads
out into the upper medium. After a further time
interval Ay, this wave has a radius of V] At whereas
the wave moving along the refractor has reached Q,
PQ = ¥, At. Drawing the tangent from Q to the arc
of radius V] Ar, we obtain the wavefront RQ. Hence
the passage of the refracted wave along the interface
in the lower medium generates a planc wave travel-
ing upward in the upper medium at the angle 6,
where

vae oy
sin = —— = — =iné, (4.67)
AN

Thus we see that 6 = 8., so that the two inclined
portions of the path are symmetrically disposed with
respect to the normal to the refractor.

The preceding discussion of the geometry of
headwaves ignores an important point, which the
alert reader may already have noted, namely that the
transmitted energy, which is the product of the in-
tensity and the beam width, is zero at @, because the
beam width becomes zero (the amplitude does not
become zero). Consequently, the headwave carries
no energy. However, at angles slightly smaller than
0., the narrow beams do carry finitc energy. Because
the velocity below the interface usually increases
slightly with depth below the interface, the refracted
energy will be bent back toward the surface, as in
Figure 4.30c¢, and its travelpath will be almost the
same as that along the interface, so that the result is
nearly the same as if energy had been refracted along
the interface. Headwaves do exist and frequently are
very strong. A more exact theory based on curved
wavefronts (Grant and West, 1965, Chap. 6) predicts
the existence of headwaves with nonzero intensities
and the same geometrical relations as those pre-
dicted by plane-wave theory.

Obviously the hcadwave will not be observed at
offsets less than ON in Figure 4.30b where

x,=ON =2z tanf

~1,2
V, v,\?
=2z tan{sin‘l(—l)} =22{(-—2) - 1}
Vs 4]

(4.68)

x, is-called the critical distance. As the ratio V,/V,
increases, x, decreases. When V,/V, = 1.4, x. = 2z
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Figure 4.31. Relation between reflection and refraction raypaths and traveltime curves.

Hence as a rule of thumb, refractions are observed
only at offsets greater than twice the depth to the
refractor.

(b) Single horizontal refractor. 1In the case of a
single horizontal refracting horizon, we can readily
derive a formula expressing the arrival time in terms
of the offset, the depth, and the velocities. In Figure
4.31, the lower part shows a horizontal plane refrac-
tor separating two beds of velocities ¥, and V,
where ¥, > V. For a geophone at R, the path of the
refracted wave is OMPR. The traveltime ¢ can be
written

+ + +
4 h o K "

x — 2z tan, 2z
- 1A V) cos 8,

X 2z ) -
TV Veose | BT

+— .
; 7 (4.69)

where we have used the relation sin 0.=V,/V, in
the last step. This equation can also be written

X
t=-—+1

ot (4.70)

where

t;={(2zcos8.)/V,
or

z=3Vt,/cos ¥,

Equation (4.70) represents a straight line of slope
1/V, and intercept time t;. This is illustrated in
Figure 4.31 where OMQ and OMPR are two of
a series of refraction paths and DWS is the cor-
responding time-distance curve. Note that this
straight-line equation does not have physical mean-
ing for offsets less than x, because the refracted
wave does not exist in this region. Nevertheless, we
can project the line back to the time axis to find ¢,.

The problem to be solved usually is to find the
depth z and the two velocities ¥, and ¥,. The slope
of the direct-wave time-distance curve is the recipro-
cal of ¥} and the same measurement for the refrac-
tion event gives ¥,. We can then calculate the critical
angle §. from the relation §, = sin™! (¥, /¥;), and
use the intercept time 7, to calculate z from Equa-
tion (4.70).

In Figure 4.31 the time-distance curves for the
reflection from the interface AP and for the direct
path arc represented by the hyperbola CDE and the
straight line OF, respectively. Since the path OMQ
can be regarded either as a reflection or as the
beginning of the refracted wave, the reflection and
refraction time-distance curves must coincide at x
= x., that is, at the point D. Moreover, differentiat-
ing Equation (4.47) to obtain the slope of the
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Figure 4.32. Raypaths and traveltime curves for the two-refractor case.

reflection time—distance curve at x = x,, we find

dt x
5. [
1 0Q
- TfT[OM + MQ]

1{300
AN
1 1

—sind, = —
h h

We see therefore that the reflection and refraction
curves have the same slope at D, and consequently
the refraction curve is tangent to the reflection curve
at x = x,.

Comparing reflected and refracted waves from
the same horizon and arriving at the same geophone,
we note that the refraction arrival time is always less
than the reflection arrival time (except at D). The
intercept time ¢, for the refraction is less than the
arrival time ¢, for the reflection at the shotpoint
because

2z z
t;, = —cosf, = v hence 1; < ¢,
1 1

Starting at the point Q, we see that the direct
wave arrives ahead of the reflected and refracted
waves because its path is the shortest of the three.

However, part of the refraction path is traversed at
velocity V,, so that as x increases, eventually the
refraction wave will overtake the direct wave. In
Figurc 431 these two traveltimes arc equal at the
point W. If the offset corresponding to W is x, we
have

x  x 2z

— = — + —cos¥,

" > N

L4 Vl
1- —|/cosé,
v

x'( V, - m) v
2 V2 ([/22__V12)1/2

XV, = n\7?
1= | 2—t (4.1)
2\ n+

[N}
I
o ®

This relation sometimes is used to find z from mea-
surements of the velocities and the crossover distance
x’. However, usually we can determine ¢, more accu-
rately than x’ and hence Equation (4.70) provides 4
better method of determining z.

(c) Several horizontal refractors. Where all beds
arc horizontal, Equation (4.70) can be generalized to
cover the case of more than one refracting horizon-
Consider the situation in Figure 4.32 where we have
three beds of velocities V;, V,, and V. Whenever
V, > V;, we have the refraction path OMPR and
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Geometry of seismic wavepaths

corresponding time—distance curve WS, just as we
had in Figure 431 If V3> ¥ > ¥, the deeper
refraction will eventually overtake the shallower re-
fraction. The refraction paths such as OM'M"“P"P'R’
are fixed by Snell’s law:

sinf, sinf, 1

W ko h

where 6, is the critical angle for the lower horizon
whereas 8, is less than the critical angle 6, for the
upper horizon. The expression for the traveltime
curve ST is obtained as before:

OMI + R/P/ M'MII + PIP/I MIIPI!
+ +
4 £ h

2z 2z,

{=

+
Vicosb,  V,cosé,

x — 2z, tan6, — 2z, tané,

0|
N
=~
8
w
<X
r——
—
!
|
o
B
,\%
=

x 2z 0 2z 0
= — + —cos¥. + —cos
7 A 7

a 4.72
=— +1 ,
ot (4.72)

Thus the time-distance curve for this refraction is
also a straight line whose slope is the reciprocal of
the velocity just below the refracting horizon and
whose intercept is the sum of terms of the form
(22,/V; cos §,) each bed above the refracting hori-
zon contributes one term. We can gencralize for n
beds:

x  "Zl2g
+ ) 70030,.

im=1 i

1= (4.73)

VIX
where 6, = sin=!(¥;/V,) (note that 6, are not critical
angles except for ,_;). This equation can be used to
find the velocities and thicknesses of each of a series
of horizontal refracting beds of constant velocity,
provided each bed contributes enough of the
Ume-distance curve to permit it to be analyzed
correctly. Then we can find all of the velocities
(hence the angles 6, also) by measuring the slopes of
the various sections of the time-distance curve and
get the thicknesses of the beds from the intercepts.
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(d) Effect of refractor dip. The simple situations
on which Equations (4.68) to (4.73) are based are
frequently not valid. One of the most serious defects
is the neglect of dip because dip changes the refrac-
tion time-distance curve drastically. The lower part
of Figure 4.33 shows a vertical dip section through a
refracting horizon. Let ¢ be the traveltime for the
refraction path AMPB. Then, we have

AM + BP  MP
t=——— + —

" n
z4+z5 AQ ~(z4 + zg)tané,
= +
¥V, cos b, v,
xcosé¢  z, +z
= 4“2 cos 6, (4.74)
h "

If we place the shotpoint at 4 and a detector at
B, we are “shooting downdip.” In this case it is
convenient to have ¢ in terms of the distance from
the shotpoint to the refractor z,, hence we climinate
zp using the relation

zg=2z,+ xsin

Writing ¢, for the downdip traveltime, we obtain

xcosé  x ) 2z,
ty= + —cosf,sin £ + ——cos ¥,
2 2z
x 2z,
= —sin(8, + §¢) + ——cos ¥,
41 "
x .
= —sin(4, + £) + ¢, (4.75)
v,
where
2z,
ty = 71cos 0.

The result for shooting in the updip direction is
similarly obtained by eliminating z,:

X
t,= —sin(6, — £) + 1, (4.76)
"
where
2zy
tp = ——cos ¥,
L

1

Note that the downdip traveltime from A to B is
equal to the updip traveltime from B to 4. This
shotpoint-to-shotpoint traveltime is called the recip-
rocal time and is denoted by ¢,.
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Figure 4.33. Raypaths and traveltime curves for a dipping refractor.

These equations can be expressed in the same
form as Equation (4.70):

x
= — +1
4=y T
N (4.77)
t, = }7“ + tp
where
v, h V. ! (4.78)
4 sin(4, + £) “ sin(0, - &)

V, and V, are known as apparent velocities and are
given by the reciprocals of the slopes of the

time—distance curves.
For reversed profiles such as shown in Figure

4.33, Equation (4.78) can be solved for the dip £ and
the critical angle 6, (and hence for the refractor

velocity ¥,):

1 Vi Vv,
) = —{sin"" ) 4 sint | —
2 v, V.
| 1 (N
—{sin"!f—} —sin" 7| —
2 Va V.

The distances to the refractor, z, and zp, can then

S
I

(4.79)

e
]

be found from the intercepts using Equations (4.75)

and (4.76).
Equation (4.78) can be simplified when £ is small

enough that we can approximate by letting cos § = 1
and sin¢ = £. With this simplification, Equation

(4.78) becomes

£
Vl = sin(6, + §) = sinf, + §cosb,
d

V
L = sin(f, — £) = sinf, — §cosb,

u

hence

b w1, 1
smc—Vz~2Vd v,

so that

1 11 1
o=+ = (4.80)
v, 2\V, V.

An cven simpler approximate formula for ¥; (@
though slightly less accurate) can be obtained by
applying the binomial theorem (§ A.6) to Equation

(4.78) and assuming that § is small enough that ‘:. ’
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Characteristics of seismic events

higher powers of £ are negligible:

V,= h (cos¢ + cot 8, sin¢) ™!
4" sin6, ¢

= V(1 - £cot )
V.= h(1+{cotd,)

hence

V=3V + ¥,) (4.81)

Equations similar to Equations (4.75) and (4.76)
can be derived for a number of beds that have the
same dip and strike or other specific situations, but
such equations are of limited value in practice. Not
only do they involve a large amount of computation,
but also one usually is not sure that they are applica-
ble to a specific real situation. Moreover, where there
are more than two refracting horizons, it is often
difficult to identify equivalent updip and downdip
segments, especially if the refractors are not plane or
if the dip and strike change.

4.4. CHARACTERISTICS OF SEISMIC EVENTS

4.4.1. Distinguishing Features of Events

The basic task of interpreting reflection sections is
that of selecting those events on the record that
represent primary reflections, translating the travel-
times of these reflections into depths and dips, and
mapping the reflecting horizons. In addition, the
interpreter must be alert to other types of events that
may yield valuable information, such as multiple
reflections and diffractions.

Recognition and identification of seismic events
are based upon five characteristics: (a) coherence, (b)
amplitude standout, (c) character; (d) dip moveout,
and (e) normal moveout. The first of these is by far
the most important in recognizing an event. When-
ever a wave recognizable as such reaches a spread, it
Produces approximately the same effect on each geo-
phone. If the wave is strong enough to override other
energy arriving at the same time. the traces will look
more-or-less alike during the interval in which this
Wave is arriving. This similarity in appearance from
trace to trace is called coherence (Fig. 434) and is a
Decessary condition for the recognition of any event.
Amplitude standout refers to an increase of amplitude
such as results from the arrival of coherent energy. It
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is not always marked, especially when AGC (§ 4.5.3¢)
is used. Character refers to a distinctive appearance
of the waveform that identifies a particular event,
something that makes onc event look different from
another event. It involves the shape of the envelope,
the number of cycles showing amplitude standout,
and irregularities in phase resulting from interfer-
ence among components of the event. Moveout,
which refers to a systematic difference in the trace-
to-trace traveltime of an event, has been discussed in
Section 4.3.1b, c.

Coherence and amplitude standout tell us whether
Or not a strong seismic event is present, but they say
nothing about the type of event. Moveout is the most
distinctive criterion for identifying the nature of
events.

4.4.2. Reflections and Refractions

Reflections exhibit normal moveouts that must fall
within certain limits set by the velocity distribution.
The apparent velocity (distance between two geo-
phones divided by the difference in traveltimes) is
very large for reflections, usually greater than 50
km/s. Reflection events rarely involve more than
two or three cycles and are often rich in frequency
components in the range 15 to 50 Hz. Deep reflec-
tions may have considerable energy below this range.

Refractions are relatively low frequency events
and they usually oscillate for more cycles and have
much smaller apparent velocities than reflections.
In-line refractions and reflected refractions (refracted
waves that are reflected back toward the spread: see
Fig. 4.35a) generally have straight alignments (prior
to normal-moveout correction) in contrast with the
curved alignments of reflections and diffractions.
Broadside reflected refractions (Fig. 4.35¢) have nor-
mal moveout appropriate to the refractor velocity.
Refractions from deep refractors are not observed on
reflection records except where the offsets are unusu-
ally long or when the occasional reflected refraction
is recorded. Reflected refractions of the type shown
in Figure 4.35b are one of the reasons why refraction
wavetrains are so long,

A powerful technique for distinguishing between
reflections, diffractions, reflected refractions, and
multiples is to examine gathers (§ 4.7.8) after correct-
ing for (a) weathering and elevation (static correc-
tions, because the correction is the same for all
arrival times on a given trace (see § 4.7.1), and (b)
normal moveout (dynamic corrections, because the
amount of correction decreases with increasing trav-
eltime). Provided the correct normal moveout was
removed, reflcctions appear (Fig. 4.36) as straight

e e+ i S
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Figure 4.35. Reflected refractions. (a) Reflected refractions from faults and salt dome.
(b) Multiply reflected refraction. (c) Broadside reflected refraction (plan view).

alignments whereas diffractions and multiples still
have some curvature (because their normal moveouts
are larger than those of primary refiections), and
refractions and other formerly straight alignments
have inverse curvature.

4.4.3. Diffractions

Diffractions are indistinguishable from reflections on
the basis of character. The amplitude of a diffraction
is a maximum at some point along the diffraction
curve, that is, where a reflection event terminates
(where the reflection is tangent to the diffraction).

Shotpoint Geophones

(c)

The amplitude decreases rapidly as we go away from
this point. Diffractions usually exhibit distinctive
moveout. In Figure 4.37, for all shotpoint and geo-
phone positions such that the point of reflection R is
to the left of A, the reflcction traveltime curve is
given by Equation (4.49), that is,

2

1 2h
t, = T/(x2 +4nt) = =y

— =1y + At
v  avh ° "

assuming that x is smaller than A. The reflection
traveltime curve is a hyperbola as shown in Figure
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Figure 4.36. Types of events on a seismic record. Identities of events are: a = direct
wave, V = 650 m/s; b = refraction at base of weathering, V[, = 1,640 m/s:
¢ = refraction from flat refractor, \V; = 4920 m/s; d = reflection from refractor c
Voo = 1640 m/s; e = reflection from flat reflector, V,, = 1,970 m/s; f = reflection from
flat reflector, V,, = 2,300 m/s; g = reflection from dipping reflector, V,, = 2,630 m/s;

= muiltiple of d; i = multiple of ¢, j= ground roll, V= 575 m/s; k = air wave,
V=330 m/s; | = reflected refraction from in-line disruption of the refractor ¢: m =
reflected refraction from broadside disruption of refractor c. After normal-moveout
correction, primary reflections are straight. in processing, data are usually muted. that is,
data earlier than that indicated by the dashed lines are sel to zero so that the data in

the upper right corner do not appear.

r Diffraction

Reflection

L

Figure 4.37. Diffraction traveltime curve.

4.22. For the case where the shotpoint is directly
above the diffraction source A, the diffraction travel-
time curve is given by the equation

t,,=iV{h+(x2+h2)1/2}

2h x?

+ —
vV 2Vh

1 + 2 Ar, (4.82)

Thus, the diffraction curve is also a hyperbola, but
with twice the normal moveout of a reflection. The
reflection corresponds to a virtual source at a depth
of 2h whereas the diffraction comes from a source at
depth 4. The earliest traveltime on a diffraction
curve is for the trace that is recorded directly over
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Figure 4.38. Reflection and diffraction response of a step for sources and receivers

coincident. (After Hilterman, 1970.)

the diffracting point (except for situations with un-
usual velocity distributions).

Figure 4.38 shows the response of a model that
demonstrates the major properties of diffraction
events. The crest of the diffraction curves locates the
discontinuities (in the absence of velocity complica-
tions), reflections that terminate at the diffracting
point are tangent to the diffraction curve, the reflec-
tion amplitude decreases as the end of the jeflection
is approached, and the reflection is continuous with
the diffraction. The “forward branch” of the diffrac-
tion (the branch that tends to carry the reflection
forward) is of opposite polarity to the “backward
branch” that lies underneath the reflection, and the
amplitude of forward and backward branches is equal
at equal distances from the point where the reflection
is tangent to the diffraction curves.

Diffractions are very important in determining
the appearance of reflections where the reflectors are
not continuous or plane. Figure 4.39 shows the events
that are caused by a sharply bent reflector. The
reflection to the right of x = 10,000 gives rise to
BP': the reflection to the left of x = 10,000 gives
AP. Diffraction fills in the gap PP’ and makes the
seismic event continuous without a sharp break.

4.4.4. Multiples

Multiples are events that have undergone more than
one reflection. Because the amplitude of multiples is
proportional to the product of the reflection coeffi-
cients for each of the reflectors involved and because
these are very small for most interfaces, only the
strongest impedance contrasts generate multiples
strong enough to be recognized as events.

We may distinguish between two classes of multi-
ples, which we call long path and short path. A

long-path multiple is one whose travelpath is long
compared with primary reflections from the same
deep interfaces and hence long-path multiples ap-
pear as scparale events on a seismic record. A short-
path multiple, on the other hand, arrives so soon
after the associated primary reflection that it inter-
feres with and adds tail to the primary reflection;
hence its effect is that of changing wave shape rather
than producing a separate cvent. Possible raypaths
for these two classes are shown in Figure 4.40.
The only important long-path multiples are those
that have been reflected once at the surface or base
of the LVL (§4.2.8b) and twice at deeper interfaces
with relatively large ‘acoustic impedance contrasts,
Because Ej is about 50% at the base of the LVL and
perhaps 5% for the strongest interfaces at depth, the
maximum eflective E, for such multiples will be of
the order of 0.05 X 0.5 X 0.05 = 0.001. This value is
in the range of typical reflection coefficients so that
such multiples may have sufficient energy to be con-
fused with primary cvents. Note that the relative
amplitudes of these multiples depend mainly on the
reflection coefficients at depth. The principal situa-
tion where weaker long-path multiples may be ob-
servable is where primary energy is nearly absent al
the time of arrival of the multiple energy so that the
gain of the recording system is very high.
Short-path multiples that have been reflected suc-
cessively from the top and base of thin reflectors
(Fig. 4.41a), often called peg-leg multiples, arc m-
portant in altering wave shape. A peg-leg multiple 4
delays part of the energy, thus lengthening the )
wavelet. Most peg-leg multiples tend to have the i'«_.f;_'
same polarity as the primary (because successive-%
large impedance contrasts tend to be in opposilc‘
directions; otherwise the successive large changes in3
velocity would cause the velocity to exceed i
allowable range). This effectively lowers the signalg
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Figure 4.40. Types of multiples.
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Figure 4.42. Raypath of a multiple from a dipping bed.

frequency as time increascs (O’Doherty and Anstey,
1971). Figure 4.41b shows how a simple impulse
becomes modified as a result of passing it through a
sequence of interfaces.

The reflection-seismic technique is based on the
assumption of simple waves such as those in Figures
422 and 4.23. Thus it is important that long-path
multiples be recognized as such so that they will not
be interpreted as reflections from deeper horizons.

Because velocity generally increases with depth,
multiples usually exhibit more normal moveout than
primary reflections with the same traveltime. This
is the basis of the attenuation of muitiples in com-
Mmon-midpoint processing that will be discussed in
Section 4.7.8. However, the difference in normal
n;oveout often is not large enough to identify mult-
ples.

The effect of dip on multiples that involve the
Surface or the base of the LVL can be seen by
tracing rays using the method of images. In Figure

442, we trace a multiple arriving at symmetrically

disposed geophones G, and Gy4- The first image
point [ is on the perpendicular from S to 4B as far
below AB as S is above. We next draw the perpen-
dicular from 7, to the surface of the ground where
the second reflection occurs and place I, as far
above the surface as I, is below. Finally, we locate 1,
on the perpendicular to 4B as far below as I is
above. We can now draw the rays from the source S
to the geophones (working backward from the geo-
phones). The dip moveout is the difference between
the path lengths I;G,, and I,G,. 1t is about double
that of the primary ( 5,Gy4 — 1,G,). The multiple at
the shotpoint will appear to come from I, which is
updip from J,, the image point for the primary, and
LS is slightly less than twice I, S. Hence we can see
that if the reflector dips, the multiple involves a
slightly different portion of the reflector than the
primary and has a traveltime slightly less than dou-
ble the traveltime of the primary. The latter fact
makes identifying multiples by merely doubling the
arrival time of the primary imprecise whenever
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appreciable dip is present. The arrival time of the
multiple will be approximately equal to that of a
primary reflection from a bed at the depth of . If
the actual dip at [, is not double that at AB (and
one would not, in general, expect such a dip), then
the multiple will appear to have anomalous dip. If
the multiple should be misidentified as a primary,
one might incorrectly postulate an unconformity or
updip thinning that might lead to erroneous geologic
conclusions.

Ghosts are the special type of multiple illustrated
in Figure 4.40. The energy traveling downward from
the shot has superimposed on it energy that initially
traveled upward and was then reflected downward at
the base of the LVL (in land surveys) or at the
surface of the water (in marine surveys). A 180°
phase shift, equivalent to half a wavelength, occurs
at the additional reflection, and hence the effective
path difference between the direct wave and the
ghost is (A/2 + 2d), where d is the depth of the
shot below the reflector producing the ghost. The
interference between the ghost and the primary de-
pends on the fraction of a wavelength represented by
the difference in effective path length. Because the
seismic wavelet is made up of a range of frequencies,
the interference effect will vary for the different
components. Thus, the overall effect on the wavelet
shape will vary as 4 is varied. Relatively small
changes in shot depth can result in large variations
in reflection character, creating serious problems for
the interpreter. Therefore the depth of the shot be-
low the base of the weathering or the surface of the
water is maintained as nearly constant as possible.

Ghosts are especially important in marine surveys
because the surface of the water is almost a perfect
reflector and conscquently the ghost interference will
be strong. If d is small in comparison with the
dominant wavelengths, appreciable signal cancella-
tion will occur. At depths of 10 to 15 m, interference
is constructive for frequencies of 25 to 40 Hz, which
is in the usual seismic range. The same effect occurs
with respect to hydrophones at depth. Hence marine
sources and detectors are often operated at such
depths.

A particularly troublesome type of multiple pro-
duces the coherent noise known as singing (also
called ringing or water reverberation) that is fre-
quently encountered in marine work (and occasion-
ally on land). This is due to multiple reflections in
the water layer. The large reflection coefficients at
the top and bottom of this layer result in consider-
able energy being reflected back and forth repeat-
edly: the reverberating energy is reinforced periodi-
cally by reflected energy. Depending on the water
depth, certain frequencies arc ephanced, and as a

result the record looks very sinusoidal (Fig. 4.43).

Seismic methogs

Not only is the picking of reflections difticult, by
measured traveltimes and dip moveouts will prob,.
bly be in error. This type of noise and its attenuatjop
are discussed in Section 4.7.3d.

4.4.5. Surface Waves

Surface waves (often called ground roll) are usually
present on reflection records. For the most parg,
these are Rayleigh waves with velocities ranging from
100 to 1000 m/s or so. Ground roll frequencies
usually are lower than thosc of reflections and refrac.
tions, often with the encrgy concentrated below 1g
Hz. Ground roll alignments are straight. just ag
refractions are, but they represent lower velocities,
The envelope of ground roll builds up and decays
very slowly and often includes many cycles. Ground
roll encrgy generally is high enough cven in the
reflection band to override all but the strongest re-
flections. However, because of the low velocity, dif-
ferent geophone groups are affected at different times
so that only a few groups are affected at any one
time. Sometimes there is more than one ground roll
wavetrain, each with different velocities. Occasion-
ally where ground roll is exceptionally strong, in-line
offsets are used so that desired reflections can be
recorded before the surface waves reach the spread.

4.4.6. Effects of Reflector Curvature

Geometric focusing as a result of curvature of a
reflector affects the amplitude of a reflection. Over
anticlinal curvature reflected raypaths diverge, which
results in reduced energy density. Strengthening of
reflections occurs over gentle synclines. Energy fo-
cusing as a result of the concave-mirror effect makes
more of the reflector surface eflective for producinga
reflection. If the center of curvature of a reflector lies
on the surface of the ground, the amplitude may be
so large that the event will not be passed by the
recording system.

If the curvature of a synclinal reflector is great
enough, the energy focuses below the surface of the
ground (see the two deeper reflections in Fig. 4.44)
and a buried focus occurs. For a given surface loca:
tion, reflections may be obtained from more than
one part of the refiector; the time—distance curve is
no longer a simple curve, but has several branches,
most commonly three. The two deeper reflections in
Figure 4.44 involve buried foci: cach shows branches
from each flank of the synclinc plus a reverse branch
from the curved bottom of the syncline. Obviousls
the likelihood of occurrence of a buried focus i
creases with reflector depth.
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Figure 4.43. Seismic record showing singing. (Courtesy Geosource Inc.) (a) Field record.
(b) Same after singing has been removed by deconvolution processing (§4.7.3d).

The waves producing the reverse branch pass
through a focus, which results in a 90° phase shift
relative to waves that do not pass through the focus
(Sheriff and Geldart, 1982, p. 116); however, this
phase shift is rarely useful in identifying buried-focus
effects. Nevertheless, it would affect calculations of
teflector depth in the syncline if picking were done
Systematically on the same phase, for example, al-

ways in the troughs. The reverse branch is so named
because the point of reflection traverses the reflector
in the opposite direction from the surface traverse.
Thus, in Figure 4.44, as one moves from left to right
on the surface, the reflection point for the reverse
branch moves from right to left.

Just as light can be focused by passing through a
lens, seismic waves can also be focused by curved
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figure 4.44. Reflections from curved reflector. In alf cases, reflector radius of curvature
= 1,000 m, V = 2,000 m/s. Depths to the bottom of the syncline are 800, 1,200, and
1,600 m, respectively. for the three reflectors. The traces are 100 m apart. (Courtesy

Chevron Qil Co))

velocity surfaces, which results in seismic rays being
bent by refraction; such situations are often very
complex. Curvature at the base of the weathering
can be especially important because of the large
velocity contrast usually associated with this surface.
Variations in permafrost thickness especially cause
lens-type effects.

4.4.7. Types of Seismic Noise

The reliability of seismic mapping is strongly depen-
dent on the quality of the records. However, the
quality of seismic data varies tremendously. At onc
extreme we have areas where excellent reflections (or
refractions) are obtained without any special mea-
sures being taken; at the other extreme are those
areas in which the most modern equipment, ex-
tremely complex field techniques, and sophisticated
data processing methods do not yield usable data
(often called NR areas, that is, areas of no reflec-
tions). In between these extremes lie the vast major-
ity of areas in which useful results are obtained but

the quantity and quality of the data could be im-
proved with beneficial results.

We use the term signal to denote any event on
the seismic record [rom which we wish to obtain
information. Everything else is noise, including co-
herent events that interfere with the observation and
measurement of signals. The signal-to-noise ratio,
abbreviated S/N, is the ratio of the signal energy in
a specified portion of the record to the total noise
energy in the same portion. Poor records result
whenever the signal-to-noise ratio is small; just how
small is, to some extent, a subjective judgment. Nev-
ertheless, when S/N is less than unity, the record
quality is usually marginal and deteriorates rapidly
as the ratio decreases further.

Seismic noise may be either (a) coherent or (b)
incoherent. Coherent noise can be followed across at
least a few traces, unlike incoherent noise where w¢
cannot predict what a trace will be like from 2
knowledge of ncarby traces. Often the difference
between coherent and incoherent noise is mercly 3
matter of scale and, if we had geophones mor
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closely spaced, incoherent noise would be seen as
coherent. Nevertheless, incoherent noise is defined
with respect to the records being used without regard
for what closer spacing might reveal.

Incoherent noise is often referred to as random
noise (spatially random), which implies not only
ponpredictability but also certain statistical proper-
ties. More often than not the noise is not truly
random. (It should be noted that spatial randomness
and time randomness may be independent; the usual
seismic trace is apt to be random in time because we
do not know when a reflection will occur on the
basis of what the trace has shown previously, with
the exception of multiples.)

Coherent noise is sometimes subdivided into (a)
energy that travels essentially horizontally and (b)
epergy that reaches the spread more or less verti-
cally. Another important distinction is between (a)
noise that is repeatable and (b) noise that is not; in
other words, whether the same noise is obscrved at
the same time on the same trace when a shot is
repeated. The three properties — coherence, travel di-
rection, and repeatability - form the basis of most
methods of improving record quality.

Coherent noise includes surface waves, reflections
or reflected refractions from near-surface structures
such as fault plancs or buried stream channels, re-
fractions carried by high-velocity stringers, noise
caused by vehicular traftic or farm tractors, multi-
ples, and so forth. All of the preceding except multi-
ples travel essentially horizontally and all except
vehicular noise are repeatable on successive shots.

Incoherent noise, which is spatially random and
also repeatable, is due to scattering from near-surface
irregularities and inhomogeneities such as boulders,
small-scale faulting, and so forth. Such noise sources
are so small and so near the spread that the outputs
of two geophones will only be the same when the
geophones are placed almost side by side. Nonre-
peatable random noise may be due to wind shaking a
geophone or causing the roots of trees to move,
which generates seismic waves, stones ejected by the
shot and falling back to the earth near a geophone,
ocean waves beating on a seashore. distant earth-

quakes, a person walking near a geophone, and so
on.

4.4.8. Attenuation of Noise

1{ the noise has appreciable energy outside the prin-
aipal frequency range of the signal, frequency filter-
10g can be used to advantage. Very low-frequency
Components (such as high-energy surface waves rich
n low frequencies) may be attenuated during the
Initia] recording provided the low frequencies are
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sufficiently separated from the reflection frequencies.
However, the spectrum of the noise often overlaps
the signal spectrum and then frequency filtering is of
limited value in improving record quality. With mod-
ern digital recording, the only low-frequency filtering
used in the field is often that resulting from the
low-frequency response of the geophones.

If we add several random noises together, there
will be some cancellation because they will be out of
phase with each other. If they are truly random in
the statistical sense, the sum of »n random signals
will be proportional to yn, whereas the sum of n
coherent in-phase signals will be proportional to # so
that the signal-to-noise ratio will be improved by the
factor yn (Sheriff and Geldart, 1982, p. 126). This
principle is the basis of the use of multiple geo-
phones or multiple sources (called geophone or source
arrays; see §4.5.2c) to cancel noise. If we connect
together, for example, 16 geophones that are spaced
far enough apart that the noise is spatially random
but still close enough together that reflected energy
traveling almost vertically is essentially in phasc at
all 16 geophones, the sum of the 16 outputs will have
a signal-to-noise ratio 4 times greater than the out-
put when the 16 geophones are placed side by side.
If, on the other hand, we are attenuating coherent
noise and the 16 geophones are spread evenly over
one wavelength of a coherent noise wavetrain (for
example, ground roll), then the coherent noise will
be greatly reduced.

Noise can also be attenuated by adding together
traces shot at different times or different places or
both. This forms the basis of several stacking tech-
niques including vertical stacking, common-midpoint
stacking, uphole stacking, and several more compli-
cated methods (§4.7.9 and §4.7.13a). The gain in
record quality often is large because of a reduction
of both random and coherent noise. Provided the
static and dynamic corrections are accurately made,
signal-to-nose improvements for random noise
should be about 5 for 24-fold stacking.

Vertical stacking involves combining several
records for which both the source and geophone
locations remain the same. It is extensively used with
weak surface energy sources (§4.5.3¢). Vertical stack-
ing usually implies that no trace-to-trace corrections
are applied but that corresponding traces on sepa-
ratec records are merely added to cach other. The
effect, therefore, is essentially the same as simultane-
ously using multiple shots or multiple source units.
In difficult areas, both multiple source units and
vertical stacking may be used. In actual practice, the
surface source is moved somewhat (3 to 10 m) be-
tween the shots. Up to 20 or more separate records
may be vertically stacked; the stacking is often done
in the field. sometimes in subsequent processing.
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Marine vertical stacking rarely involves more than 4
records because at normal ship speeds the ship moves
so far that data would be smeared when stacked.
Smearing means that changes in the reflecting points
affect the arrival times so much that the signal may
be adversely affected by summing (the effect is simi-
lar to using a very large geophone or source array).

The common-midpoint technique is very effective
in attenuating several kinds of noise. The summation
traces comprise energy from several shots using dif-
ferent geophone and sourcepoint locations. The ficld
technique will be discussed in Section 4.5.2a and the
processing (which is almost always done in a pro-
cessing center rather than in the field) in Section
4.738.

4.5. REFLECTION FIELD METHODS
AND EQUIPMENT

4.5.1. Field Methods for Land Surveys

(a) The program. Usually the seismic crew receives
the program in the form of lines on a map that
indicate where data are to be obtained.

Before beginning a survey the following question
should be asked: “Is it probable that the proposed
lines will provide the required information?” Data
migration (§4.7.12) may require that lines be located
elsewhere than directly on top of features in order to
measure critical aspects of a structure. Crestal areas
may be so extensively faulied that lines across them
are nondefinitive. The structures being sought may
be beyond scismic resolving power. Near-surface
variations may be so large that the data are difficult
to interpret whereas moving the scismic line a short
distance may improve data quality. Obstructions
along a proposed line may increase difficulties un-
necessarily, whereas moving the line slightly may
achieve the same objectives at reduced cost. Where
the dip is considerable, merely running a seismic line
to a wellhead may not tie the seismic data to the well
data. Lines may not extend sufficiently beyond faults
and other features to establish the existence of such
features unambiguously or to determine fault dis-
placements. Lines may cross features such as faults
so obliquely that their evidences are not readily
interpretable. Lack of cross control may result in
features located below the seismic line being con-
fused by features to the side of the line.

(b) Permitting. Once the scismic program has been
decided on, it is usually necessary to secure permis-
sion to enter the land to be traversed. Permission to
enter may involve a payment, often a fixed sum per
source location, as compensation in advance for
“damages that may be incurred.” Even where the
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surface owners do not have the right to preven
entry, it is advantagcous to explain the nature of the
impending operations. Of course, a seismic crew jg
responsible for damages resulting from their actiong
whether or not permission is required to carry gy
the survey.

(c) taying out the linc. The survey crew lays oy
the lines to be shot, usually by a transit-and-chaip
survey that determines the positions and elevations
of both the sourcepoints and the centers of geophone
groups. The chain is often a wire equal in length to
the geophone group interval. Successive group cen.
ters are laid out along the line, and each center i
marked by means of brightly colored plastic ribbon
called flagging. The transit is used to keep the line
straight and to obtain the elevation of each group
center by sighting on a rod carried by the lead
chainman.

Many variations [rom the above procedures are
used depending on the sort of terrain being tra-
versed. Electronic distance measuring (EDM) instru-
ments are generally used (§B.2; also Sheriff and
Geldart, 1982, pp. 134-5). Planc tables and alidades
are occasionally used. Ties 1o benchmarks and well-
heads are often made by transit theodolite and rod
rather than by chaining. Side features arc often tied
in by triangulation. The surveyor should indicate in
his data and maps the locations of all important
features, such as streams, buildings. roads. and
fences. The surveyor also plans access routes so that
drills, recording, trucks, and so forth, can get to their
required locations most expeditiously.

In areas of difiicult terrain or heavy vegetation,
trail-building or trail-cutting crews may be required
These often precede the survey crew but usually are
under the supervision of the surveyor, who 1s there
fore responsible for the preparation of a straight trail
in the proper location.

(d) Shothole drilling. The next unit on the scene is
the drilling crew (when explosives are used as the
energy source). Depending on the number and depth
of holes required and the easc of drilling, a scismi¢
crew will generally have from one to four drillisg
crews. Whenever conditions permit, the drills ar¢
truck-mounted. Water trucks arc often required 10
supply the drills with water for drilling. In areas of

rough terrain, the drills may be mounted on tractors

or portable drilling equipment may be used. In ‘
swampy areas, the drills are often mounted on %
phibious vehicles. Usually the drilling crew placss .§

the explosive in the holes before leaving the site.

(e) Recording. The drilling crews are followed by §
the recording unit. This unit can be divided 1““".‘?,_ :
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three groups on the basis of primary function: the
shooting crew, who are responsible for loading the
shotholes (if the drillers have not already loaded
them) and for setting off the explosive, the jug hus-
tlers, who lay out the cables, place the geophones in
their proper locations, and connect them into the
cables, and the recording crew, who do the actual
recording of the signals.

With common-midpoint recording, shotpoints are
about 100 m apart, so high production and high
efficiency are needed to achieve a low cost per kilo-
meter. Redundancy of coverage has lessened the
dependence on any individual record so that occa-
sional missed records can be tolerated. Also, the
broad dynamic range of digital recording has re-
moved much of the need for filtering in the field and
the need to tailor instrument settings to particular
local conditions. Cost considerations dictate that the
recording operation must not wait on other units.
Shotholes may be drilled for the entire line before
the recording crew begins so that it need never wait
on the drills. Extra cables and geophones are laid out
and checked in advance of the recording unit. A
roll-along switch is used, which makes it possible for
the recording unit to be physically located at a
different place than where it is located electrically.
The recording unit connects to the seismic cable at
any convenient location, for example, the intersec-
tion of a road and the seismic line. The roll-along
switch is adjusted so that the proper geophones are
connected and the shooters are instructed to operate
the blaster. Following the shot, the shooters move on
to the next shothole (which is not very far away) and
the observer (instrument operator) adjusts the roll-
along switch so that the next geophones are con-
nected. The time between shots may be only a few
minutes and the recording truck may not move all
day long, Holes where misfires occur are not reloaded
and reshot. The shooting unit often walks the line
because they need no equipment except the blaster
and firing line and perhaps shovels to fill in the
shothole after the shot. Damages are reduced be-
cause less equipment traverses the line. Thus other
benefits accrue besides increased recording effi-
ciency.

When a seismic crew uses a surface energy source,
the source units move into place and a signal from
the recording truck activates the source trucks so
that the energy is introduced into the ground at the
Proper time. Despite the fact that an explosive may
mot be involved, terms such as “shot” and “shot-
point” are still used. The energy from each surface
Source usually is small compared to the energy from
& dynamite explosion so that many records are made
for each source location and vertically stacked to
Make single record. The source units may advance
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a few meters between the component subshots, which
will be combined to make one record. It is not
uncommon to use 3 or 4 source trucks and combine
30 or so component subshots.

A monitor record is usually made in the field,
either in parallel with the recording or by playback
of the magnetic tape. These monitor records are
checked to make certain that the equipment is func-
tioning properly and also to determine weathering
corrections (discussed in §4.7.1).

The magnetic tapes are shipped to a data process-
ing center where corrections are applied and various
processing techniques are used, for example, velocity
analysis, filtering, stacking, and migration (§4.7). The
end result of the data processing is usually record
sections from which an interpretation is made.

4.5.2. Field Layouts

(a) Split-dip and common-midpoint recording.
Virtually all routine seismic work consists of continu-
ous coverage (profiling), that is, the cables and
sourcepoints are arranged so that there are no gaps
in the data other than those due to the fact that the
geophone groups are spaced at intervals rather than
continuously spaced. Single coverage implies that
each reflecting point is sampled only once, in con-
trast to common-midpoint, or redundant, coverage
where each reflecting point is sampled more than
once. Areal or cross coverage indicates that the dip
components perpendicular to the seismic line have
been measured as well as the dip components along
the line. Each of these methods can employ various
relationships between sources and geophone groups.

Single coverage split-dip shooting is illustrated in
Figure 4.45. Sourcepoints are laid out at regular
intervals along the line of profiling, often 400 to
540 m apart. A seismic cable is laid on the ground
with provision for connecting groups of geophones
at regular intervals (called the group interval). Thus,
with sourcepoints 400 m apart and 24 groups, the
group centers are 36.4 m apart. With the cable
stretched from O; to @, source (shot) O, is fired,
which gives subsurface control (for flat dip) between
A and B. The portion of cable between O, and O, is
then moved between O, and O, and source 0, is
shot; this gives subsurface coverage between B and
C. The travclpath for the last group from source 0Oy
is the reversed path for the first group from source
0, so that the subsurface coverage is continuous
along the line.

Common-midpoint (CMP) or roll-along shooting
is illustrated in Figure 4.46a (Mayne, 1962, 1967).
We have evenly spaced geophone groups that we
number by their sequence along the seismic line
rather than by the trace that they represent on the

O
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Figure 4.47. Types of reflection spreads. The symbols x and O represent geophone

groups and sourcepoints, respectively.

group 19, from C into 17, from D into 15, from E
into 13 and from F into 11. After normal-moveout
removal using a stacking velocity (§4.5.5¢), these
traces will be combined (stacked) in a subsequent
data processing operations. Thus reflecting point f is
sampled six times and the coverage is called sixfold
recording. Obviously, the multiplicity tapers off at
each end of the line. Most present-day recording
uses 96 or more geophone groups and 24- to 48-fold
multiplicity.

Occasionally one of the regularly spaced locations
will not be a suitable place for a shothole (perhaps
because of risk of damage to nearby buildings) and
an irregularly spaced shotpoint will be used. Thus if
shotpoint E (Fig. 4.46a) could not be used, a shot
might be taken at E’ instead and then geophone
group 14 (instead of 13) would receive the energy
reflected at f. To help keep track of the many traces
nvolved, stacking charts are used (Morgan, 1970).
Figure 4.46b shows the stacking chart when E’ is
shot instead of E. Note how the six traces which
have the common midpoint f line up along a diago-
nal; points along the opposite diagonal have a com-
mon offset whereas points on a horizontal line have
the same shotpoint and points on a vertical line
fepresent traces from a common geophone group.
Stacking charts are useful in making static and dy-
namic corrections and to ensure that the traces are
properly stacked.

(b} Spread types. By spread we mean the relative
locations of the sourcepoint and the centers of the
geophone groups used to record the energy from the
Source. Several spread types are shown in Figure
447. In split-dip shooting the sourcepoint is at the
center of a line of regularly spaced geophone groups.
Placing the source close to a geophone group often
fesults in a noisy trace (because of ground roll or
truck noise with a surface source, or gases escaping

from the shothole and ejection of tamping material);
hence the source may be moved 15 to 50 m perpen-
dicular to the seismic line. Often the geophone groups
nearest the source are not used, which creates a
sourcepoint (shotpoint) gap.

Often the source is at the end of the spread of
active geophone groups to produce an end-on spread,
and in areas of exceptionally heavy ground roll the
sourcepoint is offset an appreciable distance (often
500 to 700 m) along the line from the nearest active
geophone group 10 produce an in-line offset spread.
Alternatively, the sourcepoint may be offset in the
direction normal to the cable, either at one end of
the active part to produce a broadside-L or opposite
the center to give a broadside-T spread. End-on and
in-line offset spreads often employ sources off each
end to give continuous coverage and two records for
each spread. The in-line and broadside offsets permit
recording reflection energy before the ground-roll
energy arrives at the spread. Cross spreads, which
consist of two lines of geophone groups roughly at
right angles to each other, are used to record three-
dimensional dip information.

(c) Arrays. The term array refers either to the pat-
tern of geophones that feeds a single channel or to a
distribution of shotholes or surface energy sources
that are fired simultaneously; it also includes the
different locations of sources for which the results
are combined by vertical stacking. A wave approach-
ing the surface in the vertical direction will affect
each geophone or an array simultaneously so that
the outputs will combine constructively whercas a
wave travcling horizontally will affect the various
geophones at different times so that there will be a
certain degree of destructive interference. Similarly,
waves traveling vertically downward from a source
array will add constructively whereas waves traveling
horizontally away from the source array will arrive at
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Figure 4.48, Response of arrays to 30 Hz signal. The overall length of the array, which is
the factor controlling the width of the first peak, is the same for all three arrays. The
location of the principal secondary (alias) peak is controlled by the element spacing.
Weighting increases the attenuation in the reject region. The dotted curves indicate the
array response to a bell-shaped frequency spectrum peaked at 30 Hz with a width of
30 Hz. (Courtesy Chevron Oil Co.) (a} Five in-line geophones spaced 10 m apart.
(b) Geophones spaced 10 m apart and weighted 1,2, 3,2, 1. (c) Nine geophones spaced

5.5 m apart.

a geophone with different phases and will be par-
tially cancelled. Thus, arrays provide a means of
discriminating between waves arriving from different
directions.

Arrays arc linear when the clements are spread
along the seismic line or areal when the group is
distributed over an area. The response of a geophone
array is usually illustrated by a graph (such as Fig.
4.48) that shows the output of the array compared to
the output of the same number of geophones concen-

trated at one location. The response is usually gived .
for a sine-wave input and plotted against a dimer
sionless variable, such as the ratio of the appaf"'“‘ "
wavelength to the element spacing (or some othef
key dimension of the array). 5,

Theoretically we get the same results by using 1.3
sourcepoint and 16 geophones as by using 1 8¢
phone and 16 sourcepoints spaced in the same M
ner; however, we use multiple geophones much &
than multiple sources becausc the cost is less;’
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though in exceptionally difficult areas, both multiple
sources and multiple geophones are used at the same
time.

The canceling of horizontally traveling coherent
noise by using geophone and source arrays presents
a more challenging array design problem than the
cancellation of random noise. In the case of random
noise, the locations of the elements of the array are
unimportant provided they are not so close that the
noise is identical. For coherent noise the size, spac-
ing, and orientation of the array must be selected on
the basis of the properties of the noise to be canceled
(Schoenberger, 1970). If the noise is a long sinusoidal
Wwavetrain, an array consisting of n elements spaced
along the direction of travel of the wave at intervals
of A/n, where A is the apparent wavelength, will
provide cancellation. However, actual noise often
consists of several types that arrive from different
directions; each type invariably comprises a range of
Wavelengths. Moreover, the nature of the noise may
change from point to point along the line. One can
apply the principles of antenna design to obtain
Maximum cancellation for a band of frequencies
approaching the spread from an arbitrary direction,
and numerous articles have been written on the
subject of arrays. A review paper by McKay (1954)
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Offset (m)

Figure 4.49. Noise analysis or walkaway. The vibroseis source with geophones spaced
1.5 m apart, is offset 425 m to the first geophone. Identification of events: 1,890 m/s
arrival = refraction from base of weathering; 530 and 620 m/s = ground-roll modes;
330 m/s = air wave; 3,140 m/s = refraction event. (After Sheriff, 1984).

shows examples of the improvement in record qual-
ity for different arrays.

In addition to the difficulties in defining the noise
wavelengths to be attenuated, actual field layouts
rarely correspond with their theoretical design
(Newman and Mahoney, 1973). Measuring the loca-
tion of individual geophones is not practicable be-
cause of the time required. In heavy brush one may
have to detour when laying out successive geophones
and often onc cannot see from one geophone to
another, so that even the orientation of lines of
geophones can be irregular. In rough topography
maintaining an array design might require that geo-
phones be at different elevations, which may produce
far worse effects than those that the array is intended
to eliminate. Similar problems arise where the condi-
tions for planting the geophones vary within a group
(Lamer, 1970), perhaps as a result of loose sand,
mucky soil, or scattered rock outcrops. The best
rules for array design are often (1) to determine the
maximum sizc that can be permitted without dis-
criminating against events with the maximum antici-
pated dip and (2) to distribute as many geophones as
field economy will permit more-or-less uniformly
over an area a little less than the maximum size
permitted, maintaining all geophone plants and
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figure 4.50. Uphole survey. (a) Traveltime versus shot depth. (b) Vertical section

showing raypaths.

elevations as nearly constant as possible even if this
requires severc distortion of the layout.

(d) Noise analysis. Systematic investigation of co-
herent noise often begins with shooting a noise pro-
file (also called a microspread ot walkaway). This is
a small-scale profile with a single gcophone per trace,
the geophones being spaced as closely as 1to3m
over a total spread length of the order of 300 m or
more. If the weathering or elevation is variable,
corrections should be made for each trace. The cor-
rected data, such as shown in Figure 4.49, are stud-
ied to determine the nature of the coherent events,
their frequencies and apparent velocities, windows
between noise trains where reflection data would not
be overridden by such noise, and so on. Once we
have some indications of the types of noises present,
we can design arrays or other field techniques to
attenuate the noise and then field-test our techniques
to see if the desired effect is achieved.

(e) Uphole surveys. An uphole survey is one of the
best methods of investigating the near-surface and
finding the thickness and velocity of the low-velocity
layer (LVL). Dy, and ¥y, and the subweathering
velocity V. An uphole survey requires a shothole
deeper than the base of the LVL, a complete spread
of geophones, plus an uphole geophone (a geophone
usually within 3 m of the shothole). Shots are fired at
various depths in the hole, as shown in Figure 4.50,
beginning at the bottom and continuing until the
shot is just below the surface of the ground. Travel-

times are plotted against shot depth for the uphole
geophone (that is, the uphole time 7,5, as well as for
several distant geophones, including two or mor
spaced 200 m or more apart, as shown in Figore
4.50. The plot for the uphole geophone changes
abruptly where the shot enters the LVL: the slope of
the portion above the base of the LVL gives V, and
the break in slope usually defines Dy, clearly.

For the distant geophones the plot is almost
vertical at first because the path length changes very
little as long as the shot is in the high-speed layer.
However, when the shot enters the LVL there is an
abrupt change in slope and the traveltime increases
rapidly as the path length in the LVL increases. The
refraction velocity at the base of the LVL. ¥ is
obtained by dividing the time interval between the
vertical portions of the curves for two widely sepa-
rated geophones (Af, in Figure 4.50a) into the
distance between the geophones. This velocity me
surement may be diffcrent from that given by the
slope of the deeper portion of the uphole geophone
curve, partly because the latter is less accurate (since
the time interval is less than Af), partly because
the layering of beds of different velocities has little
effect on At;; but may affect ¢, substantially.

4.5.3. Field Equipment for Land Surveys

(a) Drilling. When explosives are used as the e
ergy source, holes are drilled so that the explosi¥e
can be placed below the low-velocity layer. The holes

are usually about 8 to 10 cm in diameter and 610
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Crown block

Mast

Swivel (mud is injected into
centre of Kelley and drillstem)

! Draw-works (for pulling drillstem
°) from the borehole)
Rotary table (turns Kelley and
hence drillstem and bit)

<— Pull down pulley (puts pressure
© on the drillstem and bit)

1 Portable mud pit (collects mud
A '_7:' returning up the annular space

/
Powef take ofl Mud

Transfer case

Mud flows back to surface
through annular space
between drillstem and

hole wall, carry
cuttings with it

ROTARY

Figure 4.51. Rotary drill,

30 m in depth, although depths of 80 m or more are
used occasionally. Normally the holes are drilled
with a rotary drill, usually mounted on a truck bed.
but sometimes on a tractor or amphibious vehicle for
working in difficult areas. Some light drills can be
broken down into units small enough that they can
be carried. Augers are used occasionally. In work in
soft marshes, holes are sometimes jetted down with a
hydraulic pump. Typical rotary-drilling equipment is
shown in Figure 4.51.

Rotary drilling is accomplished with a drill bit at
the bottom of a drill pipe, the top of which is turned
S0 as to turn the bit. Fluid is pumped down through
the drill pipe, passes out through the bit and returns
o the surface in the annular region around the drill
Pipe. The functions of the drilling fluid are to bring
the cuttings to the sur‘ace, to cool the bit, and to
Plaster the drill hole to prevent the walls from caving

around drillstem)

return hose <—Kelley

Kelley screwed into
& drill stem

ing lth—u-

e—— " Drill stem

&.__S Bit screwed onto drill stem
(mud emerges through.bit)

DRILL

(From Sheriff, 1984.)

and formation fluids from flowing into the hole. The
most common drilling fluid is mud, which consists of
a fine suspension of bentonite, lime and/or barite in
water. Sometimes water alone is used and sometimes
air is the circulating fluid. Drag bits are used most
commonly in soft formations; these tear out picces
of the earth. Hard rock is usually drilled with roller
bits or cone bits, which cause pieces of rock to chip
off because of the pressure exerted by teeth on the
bits. In areas of exceptionally hard rock, diamond
drill bits are used.

(b) Explosive energy sources. Explosives were the
sole source of energy used in seismic exploration
until weight dropping was introduced in 1953. Ex-
plosives continue to be an important seismic energy
source in land work. Most explosives have a velocity
of detonation (that is, the velocity with which the !

. -
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explosion travels away from the point of initiation in
the explosive) around 6 to 7 km/s. Consequently,
the seismic pulses generated have very steep fronts.
This high concentration of energy is desirable from
the point of view of seismic wave analysis but detri-
mental from the viewpoint of damage to nearby
structures.

Ammonium nitrate and nitrocarbonitrite (NCN)
are the dominant explosives used today. Explosives
are packaged in tins or in tubes of cardboard or
plastic about 5 cm in diameter that usually contain 1
to 10 1b (0.5 to 5 kg) of explosive. The tubes and tins
are constructed so that they can be easily joined
together end-to-end to obtain various quantities of
explosives.

Electric blasting caps are used to initiate an ex-
plosion. These consist of small metal cylinders,
roughly 0.6 cm in diameter and 4 cm long. They
contain a resistance wire imbedded in a mixture of
powder charges, one of which ignites at a relatively
low temperature. By means of two wires issuing from
the end of the cap, a large current is passed through
the resistance wire and the heat generated thercby
initiates the explosion. The cap has previously been
placed inside one of the explosive charges so that the
explosion of the cap detonates the entire charge. The
current that causes the blasting cap to explode is
derived from a blaster, which is basically a device for
charging a capacitor to a high voltage by means of
either batteries or a hand-operated generator, and
then discharging the capacitor through the cap at the
desired time. Incorporated in the blaster is a device
that generates an clectrical pulse at the instant that
the explosion begins. This timebreak pulse fixes the
instant of the explosion, t = 0. The timebreak pulse
is transmitted to the recording equipment where it is
recorded along with the seismic data.

Several techniques are used at times to concen-
trate the energy traveling downward from an explo-
sion. The detonating front in an explosive usually
travels much faster than the seismic wave in the
formation, so that the seismic wave originating from
the top of a long explosive charge lags behind the
wave from the bottom of the charge even where the
explosive is detonated at the top (which is the usual
method). Explosives with low detonating velocity are
sometimes used, but they are made in long flexible
tubes that are difficult to load. Delay units are some-
times used between several concentrated explosive
charges to allow the wave in the formation to catch
up with the explosive front; they may consist of
delay caps (which introduce a fixed delay between
the time the detonating shock initiates them and the
time they themselves explode) or helically wound
detonating cord (so that the detonating front has to
travel a longer distance). Expendable impact blasters

Sefsmic methogs

have also been used: they detonate when they ap,
actuated by the shock wave from another explosioy

Although explosives provide the most compag
high-energy source. they have many disadvantage
that often preclude their use: high cost. the time apg
expense involved in drilling holes, potential damage
to necarby buildings. wells, and so forth. as wel]
restrictions about where holes can be drilled apg
explosives detonated.

(c) Surface energy sources. Many alternative ep.
ergy sources have been developed for use in bog
land and marine work (Laster, 1985). Discussion of
those that are uscd primarily at sea and infrequently
on land will be postponed until Section 4.5 4c.

Without exception, the surface energy sources are
less powerful than cxplosives and their use on a large
scale has been made fcasible by vertical stacking
methods that permit adding the effects of a large
number of weak impulscs to obtain a usable result.

Some surface methods use explosive delonating
cords buried 10 to 40 cm. A 100 m of cord may be
buried. often in a pattern, using a special plow, and
then exploded by means of caps placed at intervals
along the cord. Occasionally, in remote areas, explo-
sive charges on sticks 1 to 2 m above the ground are
used; this procedure is called air shooting. Aside
from raising a cloud of dust, it does no damage to
the vegetation. However, it generates a strong air-
wave that can damage the ears of animals within
100 m or so of the explosion.

The earliest nonexplosive source to gain wide
acceptance was the thumper or weight dropper. A
rectangular steel plate weighing about 3,000 kg is
dropped from a height of about 3 m. The instant of
impact is determined by a sensor on the plate
Weights often are dropped every few meters and the
results of 50 or more drops composited into a single
field record. The time between release of the weight
and impact on the ground is not constant cnough to
permit simultaneous use of more than one source
Often two or three units are used in succession, On¢
dropping its weight while the others lift their weights
into the armed position and move ahead to the next
drop point. The use of weight dropping is now
largely restricted to desert or semidesert areas wher
the massive trucks can move about relatively freely.
Several variations of mechanical sources are used in
shallow-penetration work for coal exploration of
engineering objectives (McCann, Andrew, and
McCann, 1985).

Whereas the foregoing are primarily surfact
sources, gas guns, air guns (Brede et al.. 1970), and
other devices are sometimes used in borcholes. cspé

cially in soft marsh where there is little risk of bei
unable to recover the equipment from the hole. The
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Figure 4.52. Vibrators mounted for off-road survey. (Courtesy Conoco.)

air guns used on land are modifications of the guns
designed for marine use, which are discussed in
Section 4.5.4¢. Air guns are sometimes used in bags
of water set on the surface of the ground; the
coupling with the ground is generally good
(Montgomery, 1984).

Unlike other energy sources that try to deliver
energy to the ground in the shortest time possible,
the Vibroseis source passes energy into the ground
for 7 s or more. A vibrator (usually hydraulic) actu-
ates a steel plate pressed firmly against the ground
(Fig. 4.52). The output wavetrain consists of a sine
wave whose frequency increases continuously from 6
to ~ 50 Hz during the 7 to 21 s “sweep.” Each
returning refiection event is a similar wave train of
about 7 to 21 s duration. Because reflections occur
much closer together than this, the result is a super-
position of many wavetrains. Subsequent data pro-
cessing (discussed in §4.7.4¢) is necessary to resolve
the data. In effect, the processing compresses each
returning wavetrain into short wavelets, thus remov-
ing much of the overlap (see Fig. 4.82).

Vibroseis sources, like most surface sources, pro-
duce low-energy density; as a result they can be used
in cities and other areas where explosives and other
sources would cause extensive damage. Vibroseis is
now the most popular land seismic source.

(d) Geophones. Seismic energy arriving at the
surface of the ground is detected by geophones, fre-
quemly referred 1o as seismometers, detectors, or
Jugs. Although many types have been used in the
Past, modern geophones are almost =ntirely of the

moving-coil electromagnetic type for land work and
the piezoelectric type for marsh and marine work.
The former will be described briefly here (for a more
complete discussion, see Sherifl and Geldart, 1982,
pp. 161-6); the latter will be discussed in Section
4.5.4d in connection with marine equipment.

The schematic diagram of a moving-coil electro-
magnetic geophone in Figure 4.53 shows a perma-
nent magnet in the form of a cylinder into which a
circular slot has been cut. The slot separates the
central S pole from the outer annular N pole. A coil
consisting of a large number of turns of very fine
wire is suspended centrally in the slot by means of
light leaf springs A, B, and C. The geophone is
placed on the ground in an upright position. When
the ground moves vertically, the magnet moves with
it but the coil, because of its inertia, tends to stay
fixed. The relative motion between the coil and the
magnetic field generates a voltage between the termi-
nals of the coil. The geophone output for horizontal
motion is essentially zero because the coil is sup-
ported in such a way that it stays fixed relative to the
magnet during horizontal motion.

The output voltage of the geophone is directly
proportional to the strength of the magnetic field of
the permanent magnet, the number of turns in the
coil, the radius of the coil, and the velocity of the
coil relative to the magnet. Modern high sensitivity
geophones have an output of 0.5 to 0.7 V for a
velocity of 1 cm/s of the ground.

The geophone coil and springs constitute an oscil-
latory system with natural frequency in the range
from 7 to 30 Hz for reflection work and 4 to 10 Hz

W
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for refraction work. Because the coil tends to oscil-
Jate after the ground motion dies away, it is neces-
sary to dampen (attenuate) the motion. This is
achieved in part by winding the coil on a metal
«former”; eddy currents induced in the latter when
it moves in the magnetic field oppose the motion and
hence produce damping. Additional damping is ob-
tained by connecting a shunt resistance across the
coil of the geophone; when a current flows through
the coil the interaction between the magnetic fields
of the current and the permanent magnet further
slows down the motion of the coil (the input
impedance of the recording system is so large that it
does not significantly affect the current and hence
the damping). The geophone damping can be ad-
justed by varying the shunt resistance because this
changes the current through the geophone. A geo-
phone with a high resistance shunt will oscillate for
some time after being tapped lightly. As the shunt
resistance is decreased, the number of oscillations
will decrease because of the increased damping until
finally a point will be reached where a tap will just
fail to produce an oscillation. At this point, the
geophone is critically damped.

The response of a geophone to a harmonic signal
depends on the relation between the frequency of the
signal and the natural frequency of the geophone as
well as the degree of damping. Figure 4.54a shows
curves of the amplitude of the output current as a
function of frequency. The maximum velocity of the
geophone is the same for all curves. Often the output
is normalized with respect to (that is, expressed as a
fraction of) the output for high frequencies. The
various curves correspond to different values of the
damping: # is the ratio of the amount of damping
relative to critical damping (4 = 1). For zero damp-
ing (h = 0), the output becomes infinite at the natu-
ral frequency; obviously this is merely a theoretical
result since zero damping can never be achieved. As
h increases, the output peak decreases in magnitude
and moves slowly toward higher frequencies. Some-
where between h = 0.5 and 0.7 the peak disappears
and the range of flat response has its maximum
extent. As h increases beyond this value, the low-
frequency response gradually falls off. The generally
accepted choice of 70% of critical damping for geo-
phones results in more-or-less optimum operating
conditions with respect to amplitude distortion in
the geophone output.

The output of a geophone is shifted in phase with
fespect to the input by the amounts shown in Figure
4.54b. Phase shift is important because the scismic
signal comprises a range of frequencies; if the phase
shift does not vary properly with frequency, phase
distortion occurs. The optimum phase shift is linear
with frequency and with an intercept of na, that is,
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the shift is equal to (kw + n#) where k is a constant
and n an integer. To show this, we note that an
input signal of the form A4 cos wt will appear in the
output as

Bcos(wt + kw + nw) = £ Beosw(t + k)

Thus, the net effect is to shift all frequencies in time
by the amount k and to invert the pulse when » is
odd, neither of which results in change of wave
shape.

Usually several closely spaced geophones are con-
nected in a series-parallel arrangement to produce a
single composite output. The entire geophone group
is considered to be equivalent to a single geophone
located at the center of the group. However, the
damping of each geophone will be affected by the
presence of the other geophones because of the
change in resistance of the circuit. An exception is
an arrangement of n parallel branches, each contain-
ing n identical geophones in series, which has the
same resistance as a single geophone and hence the
same damping.

The geophone signals are usually transmitted to
the recorder by many pairs of wires in cables. In-
creasingly, the geophone output is digitized at the
geophone group by a remote digitization unit (RDU)
and the digital signal transmitted to the recorder.
The signal may be stored temporarily where it
is digitized and subsequently transmitted to the
recorder, perhaps along with the signals from other
digitizing boxes, in a coded fashion over twin-lead
cable, coaxial cable, or fiber-optic cable; sometimes
the transmission is by radio. At times the output for
an entire day is stored on a magnetic tape in the
digitizing box, to be collected and combined with
the data from other digitizing boxes at the end of the
day’s work.

(e) Analog recording. Except for very strong sig-
nals arriving soon after the shot is fired, the output
of the geophone is too weak to be recorded without
amplification. Also, the uscful range of amplitudes of
the geophone output extends from a few tenths of a
volt at the beginning of the recording to about 1 pV
near the end of the recording several seconds after
the shot, weaker signals being lost in the system
noise, a relative change or dynamic range of about
10° (100 dB). Besides amplifying weak signals, the
amplifier usually is called on to compress the range
of signals as well as filter signals. Seismic amplifiers
generally employ solid state circuitry, which allows
them to be very compact. Although they are usually
mounted in a recording truck or other vehicle, they
can also be carried where nccessary. A block dia-
gram of an analog amplifier is shown in Figure 4.55.
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The cable from the geophones may be connected to
a balance circuit that permits‘ a.djustment of ‘the
jmpedance to ground so as to minimize the Fouplmg
with nearby power lines, thus reducing pickup of
noise at the power-line frequency (high-line pickup).
The next circuit element usually is a filter to attenu-
ate the low frequencies that arise from strong ground
roll and that otherwise might overdrive the first
amplification stage and introduce distortion.

Seismic amplifiers are multistage and have very
high maximum gain, usually of the order of 10° (100
dB), sometimes as much as 107 (140 dB); 100 dB
means that an input of 5 pV amplitude appears in
the output with an amplitude of 0.5 V. Lower ampli-
fication can be obtained by means of a master gain
switch, which reduces the gain in steps.

The amplifier gain may be varied during the
recording interval starting with low amplification
during the arrival of strong signals at the early part
of the record and ending up with the high gain value
fixed by the master gain setting. This variation of
gain with time (signal compression) can be accom-
plished with automatic gain (volume) control, usually
abbreviated AGC or AVC, which utilizes a negative
feedback loop to measure the average output signal
level over a short interval and adjust the gain to keep
the output morc-or-less constant regardless of the
input level.

It is important in making corrections for near-
surface effects that we be able to observe clearly the
first breaks. the first arrivals of energy at the different
geophone groups. (For a geophone- near the shot-
point, the first arrival travels approximately along
the straight line from the shot to the geophone; for a
distant geophone the first arrival is a headwave re-
fracted at the base of the low-velocity layer — see Fig,
4.76 and the discussion of weathering corrections,
§471)

If we allow the AGC to determine the gain prior
to the first arrivals, the low input level (which is
entirely noise) results in very high gain; the output
may then be noise amplified to the point where it
becomes difficult to observe the exact instant of
arrival of the first breaks. This problem is solved by
using initial suppression or presuppression. A high-
frequency oscillator signal (about 3 kHz) is fed into
the AGC circuit, which reacts by reducing the gain
so that the noise is barely perceptible; the high-
frequency signal is subsequently removed by filtering
so that it does not appear in the output. With the
reduced gain, the relatively strong first breaks stand
out clearly. As soon as the first breaks have all been
recorded, the oscillator signal is removed, usually by
a relay triggered by one of the first breaks. There-
after, the AGC adjusts the gain in accordance with
the seismic signal level.
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Seismic amplifiers are intended to reproduce the
input with a minimum of distortion and hence the
gain (without filters) should be constant for the
entire frequency spectrum of interest. For reflection
work this range is about 10 to 100 Hz and for
refraction work the range is about 2 to 50 Hz;
accordingly most amplifiers have flat response for all
frequencies from ~ 1 to 200 Hz or more.

Frequency filtering refers to the discrimination
against certain frequencies relative to others. Seismic
amplifiers have a number of filter circuits, which
permit us to reduce the range of frequencies that the
amplifier passes. Although details vary, most permit
the selection of the upper and the lower limits of the
passband. Often it is possible to select also the
sharpness of the cutoff (the rate at which the gain
decreases as we leave the passband). Figure 4.56
shows typical filter response curves. The curves are
specified by the frequency values at which the gain
has dropped by 3 dB (30% of amplitude, 50% of
power); the curve marked “Out” is the response
curve of the amplifier without filters.

Seismic amplifiers may include circuitry for mix-
ing or compositing, that is, combining two or more
signals to give a single output. Mixing in effect
increases the size of the geophone group and is
sometimes used to attcnuate surface waves. The
commonest form, called 50% mixing, is the addition
of equal fractions of the signals from adjacent geo-
phone groups. Magnetic tape recording has virtually
climinated the need to mix during recording because
we can always mix in playback.

The timebreak signal often is superimposed on
one of the amplifier outputs where it appears as a
sharp pulse that marks the point ¢ = 0 for the record.
When explosives are being used, the uphole signal
(§4.5.2¢) is also superimposed on one of the outputs;
1,y 1s important in correcting for near-surface effects.

High resolution or HR amplifiers are used in
engineering and mining problems to map the top 200
m or so. To get resolution of a few meters, we must
use short wavelengths; accordingly these amplifiers
have essentially uniform response up to 300 Hz,
sometimes to 500 Hz, and the AGC time constants
are correspondingly short. To permit recording very
shallow reflections, small offsets arc used and the
initial suppression permits recording events within
0.050 s or so after the first break.

The recorded data must be presented in visual
form for monitoring and for interpretation. This is
done most commonly by an clectrostatic camera. A
small motor moves a strip of paper at constant speed
(about 30 cm/s) during the recording period and a
series of galvanometers, one for cach geophone group,
transforms the electrical signals coming out of the
amplifiers into spots of light moving in accordance
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Figure 4.58. Block diagram of digital seismic amplifier.

wiih the signals, producing *wiggly” lines on the
f)aper. A timing device records accurate timing marks
on the record; the heart of the timing system is an
oscillating electric circuit whose frequency is accu-
rately controlled by a crystal. Timing lines are usu-
ally placed every 10 ms.

Each individual graph, which represents the out-
put of a geophone group, is called a rrace. Modes of
representation are compared in Figure 4.57. The
variable-area trace can be pictured as the result of
passing the light from a galvanometer through a
cylindrical lens whose axis would be vertical to give
the result shown in the figure. This lens produces a
vertical line of light instead of a point, as for the
wiggly trace. As this line moves up and down with
the signal variations, the lower part is cut off by a
stop. The variable-density trace is obtained by using
a light source whose intensity is varied in accordance
with the signal variations. For example, the intensity
might increase during signal peaks and decrease dur-
ing signal troughs; the photographic record will then
be darker for peaks and lighter for troughs. Figures
457a, e show the wiggly trace superimposed on
variable area and variable density, respectively; these
have the advantage of retaining the fine detail af-
forded by the wiggly trace and at the same time
obtaining the graphic effects of the variable-area or
variable-density displays.

(f) Digital recording. Digital recording was first
introduced in seismic work in the 1960s and is now
almost universally used. Whereas analog devices rep-
fesent the signal as a voltage (usually) that varies
continuously with time, digital recording represents
the signal by a series of numbers that denotes the
geophone output at regular intervals, usually every
2 ms. Digital recording is capable of higher fidelity
than analog recording and permits numerical pro-
Ct?ssing of the data without adding appreciably to the
distortion. However, the beginning (geophone re-
Sponse) and end (display) of the recording process

continue to be analog. Anstey (1970) discusses in-
strument requirements for digital recording and
Pieuchot (1984) gives a comprehensive review of
seismic instrumentation.

We shall discuss digital representations in the
binary scale of 2. The binary scale uses only two
digits, 0 and 1; hence only two different conditions
are required to represent binary numbers, for exam-
ple, a switch opened or closed. Binary arithmetic
operations are much like decimal ones, for example,
Decimal:

20873 = 2 X 10° + 8 X 10® + 7 X 10' + 3 x 10°
Binary:

1011011 =1 X 26 +1X2°+1x 22 + 1

x24+1x2
= decimal number 91
Each pulse representing 1 or 0 is called a bit and the
series of bits, which give the value of a quantity, is
called a word.

The block diagram of a digital recorder in Figure
4.58 can be compared with that of the analog recorder
shown in Figure 4.55. Digital amplifiers usually have
enough dynamic range so that they do not require
low-cut filtering prior to the first amplification stage.
Digital amplifiers are usually of the instantaneous
floating-point type: they measure the magnitude of
each sample; each value is expressed as a certain
number of significant figures times 2 raised to the
proper power, where both the significant figures and
the power are recorded.

The output of each preamplifier passes through
an alias filter whose function will be explained in
Section 4.7.3b. From the alias filter the signal passes
to a multiplexer, which is in essence a high-speed
electric switch. From the multiplexer onward, we
require only one channel - one amplifier, one A/D
(analog-to-digital ) converter, and so forth, instead of
one for each trace.

The multiplexer connects each channel in turn to
the amplifier. Here the amglifier is connected to a
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Figure 4.59. Conversion from digital to analog form.

sample-and-hold unit for about 1 pus which is suffi-
cient time to charge a capacitor to the same voltage
as the amplifier output at that instant. The amplifier
is then disconnected and the A/D converter com-
pares the capacitor voltage with a series of standard
voltages. The result of this comparison is a series of
pulses that gives the polarity and the value of the
amplifier output voltage (in the binary scale) at the
sampling instant. Processing the data for each trace
requires so little time that there is ample time to read
each trace even at the fastest sampling rate (1 ms)
ordinarily used. (For very large numbers of traces,
digitization is usually done at the geophone so that
these considerations are irrelevant.) The output of
the A/D converter is a word containing 14 bits
(usually), the first of which gives the sign (plus or
minus) of the signal and the remaining bits the
magnitude.

The series of pulses from the A/D converter
passes to the formatter, the device that controls the
sequence in which the various bits and words are
recorded on the magnetic tape. In addition to the
data from the A/D converter, the formatter also
receives data identifying the profile, the timebreak,
uphole information, a word to mark the end of a
record, and so on (all of this information is in digital
form). This series of numbers is written on half-inch
tape by nine recording heads. The formatter dis-
tributes the various bits among the heads in a fixed
pattern known as the formar (SEG 1980). The tape
speed is adjusted so that the density of data along a
single track is constant (often 6,250 bits/in.).

Digital recording (and processing) involves a se-
ries of operations that take place sequentially on a
time scale measured in microseconds. The entire
sequence is controlled by an electronic “clock,” a
crystal-controlled oscillator that operates in the
megacycle range, which furnishes a continuous series
of puises whose shape and spacing are accurately
maintained. Time is measurcd by counting these
pulses and the operating cycles of the component
units (such as the multiplexer and the formatter) are
controlled by circuits that count the clock pulses and
operate electronic switches when the count reaches
predetermined values.

Although digital data are ideal for versatile dag,
processing, analog data are more suitable for inter.
pretation and for monitoring the recording system tg
cnsure that all umts arc functioning properly. Ac.
cordingly, digital systems provide for reconverting
the digital data to analog form for recording by ,
camera. The D/A (digital-to-analog) conversion g
carried out by reversing the recording process. The
bits coming off the tape arc rearranged by a defor
matter before going to the D/A converter. Usually
only the seven or eight * most significant™ bits speci.
{ying a signal valuc are used because the camera unit
has a resolution of only about 1% (or 1 part in
1100100 in binary). Smaller amplitude changes are
undetectable on paper records. The D/A converter
can be regarded as a series of batteries with voltages
proportional to 26, 2% 2% 23 22 2! 2% units (when
seven bits are used). The batteries are connected in
series so that the total voltage is 1111111 (that is, 127
in the decimal system). Each “zero™ disconnects the
corresponding battery. The bit giving the polarity of
the signal controls the polarity of the output. The
result is a voltage at the output of the D/A con-
verter equal in magnitude and sign to the original
signal at the instant of sampling.

The output from the D/A converter goes then to
a demultiplexer that connects each voltage to a sam-
ple-and-hold circuit in the proper channel. The sam-
ple-and-hold output has a staircase form such as
shown in Figure 4.59. The output goes through 2
low-pass filter that smooths out the steps and is then
amplified to the voltage level required by the camera

Computers are part of most recording cquipment,
taking over many test and diagnostic functions as
well as simple processing operations, such as vertical
stacking and correlation (Walker and Crouse, 1983).

4.5.4. Marine Equipment and Methods

(a) Marine operations. Marine seismic operations
usually imply water that is sufficiently deep to allow
freedom of movement for ships that are 30 to 70 m
in length (Fig. 4.60). Such opecrations differ {rom
operations on land and in shallow water primarily
because of the speed with which they take plac

Norm;
of the”
per da
possibl
much?)
spent t
to the”:
becausi
the oré
to 4 ¢
stacked
The'
the hig
seismic
high pi
efficient
towed*i
during
data qu
water ¢
ceiversit
weather.
lessen .v;
§

{b) Buq
at hig,h"
tends

4

d
[



en

mns
ow

m
ily
e

geflection field methods and equipment

Figure 4.60. Seismic ship towing two streamers and two air-gun arrays. The outer wakes
are produced by paravanes that pull streamers off to each side and the inner two wakes
are produced by the two air-gun arrays. (Courtesy Western Geophysical Co.)

Normal production shooting takes place at a speed
of the order of 6 knots and can proceed on a 24 hour
per day basis. Coverage of 250 km/day would be
possible if all the time were spent recording. This
much production is never achieved because time is
spent traveling to the line or from the end of onc line
to the start of the next, waiting for good weather, or
because of other factors. Production rates may be of
the order of 2 records/minute, each consisting of 2
to 4 component subshots which are then vertically
stacked.

The monthly cost of a marine crew is large, but
the high production cuts the unit cost of marine
seismic data to about 10% of that of land data. The
high production rate requires special emphasis on
efficiency in operations. Source and receiver units are
towed into place and forward travel does not stop
during a recording. Although detailed monitoring of
data quality is not possible, the relatively constant
Waler environment surrounding the sources and re-
ceivers and the general absence of a low-velocity
Weathering layer such as is usually present on land
lessen variations in data quality.

{b) Bubble effect. An underwater bubble of gascs
a high pressure, such as an explosion produces,
tends to alternately expand and contract. As long as

the gas pressure exceeds the hydrostatic pressure of
the surrounding water, the net force will accelerate
the water outward. The net force decreases as the
bubble expands and becomes zero when the bubble
cxpansion reduces the gas pressure to the value of
the hydrostatic pressure. However, at this point the
water has acquired its maximum outward velocity
and so continues to move outward while decelerating
because the net force is now directed inward. Even-
tually the water comes to rest and the net inward
force now causes a collapse of the bubble with a
consequent sharp increase in gas pressure, in effect a
new energy release, and the process repeats itself.
Seismic waves will be generated by each oscillation.
With explosive charges of 7.5 kg, the effect is that of
additional seismic records every 0.2 to 0.4 s superim-
posed on each other so that one cannot tell from
which oscillation a reflection event comes. Although
explosives arc no longer used in marine operations,
other types of sources also generate bubbles.

{c) Marine energy sources. Marine seismic reflec-
tion work consists mostly of two types, common-
midpoint and profiler work. These differ consid-
erably in cost, size of energy source, effective
penetration, and various other aspects. We shall dis-
cuss here the larger energy sources commonly used
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Figure 4.61. Air gun. (Courtesy Bolt Associates.) (a) Ready for firing. (b) Firing.

in common-midpoint recording: The smaller energy
sources used in profiling will be described in Section
4.5.51.

The most widely used large energy source is
the air gun, a device that discharges air under very
high pressure into the water (Giles, 1968; Schulze-
Gattermann, 1972). Pressures up to 10,000 psi are
used, although 2.000 psi is most common. The gun in
Figure 4.61a is shown in the armed position, ready
for firing. Chambers 4 and B are filled with high
pressure air, which entered A at the top left and
passed into B through an axial opening in the “shut-
tle.” The latter is held in the closed position by the
air pressure (because flange C is larger than flange
D, resulting in a net downward force). To fire the
gun, the solenoid at the top opens a valve that allows
high pressure air to reach the underside of flange C.
This produces an upward force that is large enough
to overcome the force holding the shuttle in the
closed position and, consequently, the shuttle opens
rapidly. This allows the high pressure air in the lower
chamber to rush out through ports into the water.
The bubble of high-pressure air oscillates at a fre-
quency in the seismic range and so lengthens the
source pulse (rather than generating new pulses).

The upward motion of the shuttle is arrested
before it strikes the top of chamber A because the
upward force falls off rapidly as the air enters the
water and the downward force of the air in the upper
chamber increases. The shuttle then returns to the
armed position and the lower chamber again fills
with air. The explosive release of the air occurs in 1
to 4 ms and the entire discharge cycle requires about
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25 to 40 ms. Usually several air guns arc used in chanﬂ
parallel. Because the dominant frequency of the pulse spuﬂ%
depends on the energy (that is, on the product of the ber tg
pressure and volume of air discharged). mixtures of restrai
gun sizes (the gun size is the volume of the lower ready!
chamber) from 10 to 2,000 in® are usually used o two pi
give a broader frequency spectrum. One variation of piston,
the air gun (Mayne and Quay, 1971) allows air flow regioni
into the bubble for some time after the initial dis Boonit
charge to retard the violent collapse of the bubble. heavgf:
This is achieved by dividing the lower chamber into one 6ﬁ
two parts connected by a small orifice. The air in the other:y
lowermost chamber is delayed in passing through The

this orifice before discharging into the water.
Several types of imploders arc sometimes used.
Imploders operate by creating a region of very low -
pressure; the collapse of water into the region gener
ates a scismic shock wave. Water guns (Fig. 4.62) ar
the most common imploders. Space inside the gun s
divided between an upper firing chamber, which is
filled with compressed air. and a lower chamber,
which is filled with water (Safar, 1984). On firing the

e ae

(the

gun, the compressed air forces the shuttle downward, e Ky
expelling the water into the surrounding watcr. The | fu“Stl;f}ﬂ
“slugs” of water leaving the ports create voids b - tovolvey
hind them and the collapse of water into these voids =

generates a seismic wave. Often three water guns 2

used vertically above one another to decrease ghost 5
ing effects.

With the Flexichoct, an adjustable-volume cham-
ber is evacuated while the walls of the chamber are

§ Trademark of Compagnie Générale de Géophysigué:
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figure 4.62. Water-gun schematic. (From Safar, 1985.) (a) At beginning of firing cycle.

(b) At end of firing cycle.

kept fixed by mechanical restraint. On removal of
the restraint, the hydrostatic pressure collapses the
chamber and so generates a seismic pulse free of
spurious bubbles. Air is then pumped into the cham-
ber to expand it again, whereupon the mechanical
restraint holds it open while the air is evacuated,
ready for the next collapse. With the Hydrosein,
two plates are driven apart suddenly by a pneumatic
piston, creating between them a very low pressure
region into which the water rushes. With the
Boomert, two plates are forced apart suddenly by a
heavy surge of electrical current through a coil on
one of the plates that generates eddy currents in the
other plate, resulting in its being suddenly repelled.
The Boomer produces less energy than Flexichoc or
Hydrosein.

Many other types of marine sources have been
used. Comparison may be made on the basis of
energy or waveform shape (signature). Rayleigh
(1917), while studying the sounds emitted by oscillat-
ing steam bubbles, related bubble frequency to bub-
ble radius, pressure, and fluid density, and Willis
(1941), while studying underwater explosions, ex-
pressed the relationship in terms of source energy
(the Rayleigh-Willis formula). The relationship is
illustrated in Figure 4.63. In general, large energy
involves low frequency and vice versa.

(d) Marine detectors. Hydrophones or marine
Pressure geophones are usually of the piezoelectric

I Trademark of EG & G Intcrnational.
¥ Trademark of Compagnie Générale de Géophysique.

type, that is, they depend on the fact that application
pressure to certain substances produces an electric
potential difference between two surfaces. Synthetic
piezoelectric materials, such as barium zirconate,
barium titanate, or lead metaniobate, are generally
used. Hydrophones are often arranged in pairs so
that their outputs cancel for translational accelera-
tions but add for pressure pulses. Because hy-
drophones have high electrical impedance,
impedance-matching transformers often are included
for each group.

The hydrophones are mounted in a long streamer
towed behind the seismic ship at a depth between 10
and 20 m (Bedenbender, Johnston, and Neitzel, 1970;
Berni, 1983). Figures 4.64 and 4.65 show a schematic
diagram of a streamer and a photograph of a portion
of a streamer. Twenty or more hydrophones spaced
at intervals of ~ 1 m are connected in series (so the
gencrated voltages add up) to form a single equiva-
lent geophone 10 to 50 m in length. The hy-
drophones and other sensors, connecting wires, and
a stress member (to take the strain of towing) are
placed inside a plastic tube up to 7 ¢cm in diameter
that is filled with sufficient lighter-than-water oil to
make the streamer neutrally buoyant, that is, so that
its average density equals that of seawater. A lead-in
section about 200 m in length is left between the
stern of the ship and the first group of hydrophones
to reduce pickup of ship noises. Dead sections are
sometimes included between the different hy-
drophone groups to give the spread length desired.
The last group is often followed by a tail section to
which a buoy is attached. Visual or radar sighting on
this buoy is used to determine the amount of drift of
the streamer away from the track of the seismic ship
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Figure 4.63. Energy-frequency relationships for marine sources at 10 m depth. (From
Kramer, Peterson, and Walter, 1968.)
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(caused by water currents). This buoy also helps that detect energy from the source traveling through sired pg
retrieve the streamer if it should be broken acciden- the water. Knowing the velocity of sound in the tion aftg
tally. The total length of streamer in the water is 1 to  water permits converting the water-break traveltime mapped:
5 km and may include up to 500 hydrophone groups. into the offset distance. Magnetic compasses arc also tying g
Some streamers digitize the signals at various loca- included to give the streamer’s orientation. The sig- ing t0 a4
tions within the streamer so that the signals trans- nals from the scnsors in the streamer may be digr offshore,;
mitted to the ship are in digitized form. tized in the streamer and the digital signals relayed ly to e
When not in use, the streamer is stored on a large  to the boat via wires or fiber optics. profile
. N > 4
motor-driven reel on the stern of the ship. When the When towing a streamer, a scismic ship must 110 mg
!

streamer is being towed, depth controllers and other
devices keep the active part of the cable horizontal at
the proper depth. Depth detectors may be included
at several places within the streamer to verify that
the depth is correct. Water-break detectors are also
included at several places along the streamer; these
are high-frequency (500 to 5,000 Hz) hydrophones

avoid stopping, making sharp turns, or even drastic 3
reductions in speed: otherwise the streamer tends 10+
drift, which may allow it to get into dangerousi
locations such as into the ship’s propellers.

depth controllers raise or depress the cable by virty
el
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Figure 4.65. Photo of seismic streamer. Plastic spacers (a) are connected by three
tensile cables (b) A bundle of electrical conductors (c) passes through holes in the
centers of the spacers. A hydrophone is at (d). A depth controller (e) is clamped over
the streamer (Courtesy Seismic Engineering.)

Consequently, if a shot is missed for any reason, it
cannot be repeated because the ship will have passed
the location. If too many shots are missed, the ship
must circle with a diameter larger than the streamer
length in order to get the streamer in proper location
to make up the missed shots. This is very time
consuming and consequently very expensive.

(e) Marine positioning. Marine seismic navigation
involves two aspects: (a) placing the ships at a de-
sired position and (b) determining the actual loca-
tion afterward so that the data can be processed and
mapped properly. Absolute accuracy is important in
tying marine surveys to land surveys and in return-
ing to a certain point later. for example, to locate an
ofshore well. Relative accuracy is important, primar-
lly to ensure the proper location of one seismic
profile relative to the next. Relative accuracies of
110 m are desirable whereas absolute accuracies of
+50 m arc often suflicient. The actual accuracies
obtained in a survey depend upon the system and
equipment used, the configuration of shore stations,
the position of the mobile station with respect to the
shore stations, variations in the propagation of radio
Waves, instrument malfunctioning, operator error,
and so on. Systems capable of giving adequate accu-

racy under good conditions may not realize such
accuracy unless considerable care is exercised at all
times. Many types of navigation methods are used,
including radiopositioning, sonic devices, observa-
tion of navigation satellites, and so forth. Usually
combinations of systems are used so that the advan-
tages of one system compensate for the disadvan-
tages of another. Positioning methods are discussed
in Sections B.6 to B.8.

4.5.5. Measurement of Velocity

(a) Conventional well surveys. The most accurate
methods of determining velocity require the use of a
deep borehole. Three types of well surveys are used:
“shooting™ a well, sonic logging, and vertical profil-
ing (§4.11.4).

Shooting a well consists of suspending a geophone
or hydrophone in the well by means of a cable and
recording the time required for energy to travel from
a source ncar the well down to the geophone (Fig.
4.66). The geophone is specially constructed (o with-
stand immersion under the high temperatures and
pressures encountered in deep wells. The cable sup-
ports the geophone, serves to measure the depth of
the geophone, and brings the geophone output to the
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Figure 4.66. Shooting a well for velocity.

surface where it is recorded. The geophone is moved
between shots so that the results are a set of travel-
times from the surface down to various depths. The
geophone depths are chosen to include the most
important geological markers, such as tops of forma-
tions and unconformities, and also intermediate
locations, so that the interval between successive
measurements is small enough to give reasonable
accuracy (often 200 m apart).

Results of a well survey are shown in Figure 4.67.
The vertical traveltime, ¢, to the depth z is obtained
by multiplying the observed time by the factor
{z/(2% + x*)/2} to correct for the slant distance.
The average velocity between the surface and the
depth z is then given by z/1. If we subtract the
depths and times for two shots, we find the interval
velocity V;, the average velocity in the interval (z,, —
z,), by means of the formula

y oo i I 4.83
N ()

m

Shooting a well gives the average velocity with
good accuracy of measurement. It is, however, ex-
pensive because the cost includes not only the one-
half to one day’s time of the seismic crew but also
the cost of standby time for the well (which often
exceeds the seismic cost). Potential damage to the
well is another factor that discourages shooting wells;
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Figure 4.67. Plot of average velocity from datum to depth
(V) and interval velocity (V) for a well-velocity survey

while the survey is being run, the well must stand
without drill stem in the hole and hence is vulnerable
to cave-in, blow-out, or other damage.

For marine well surveys. air gun energy sources
are used (Kennett and Ireson, 1971). The air guns
may be merely hung over the side of the drill plat-
form or drill ship and hence only a small crew is
required to obtain data at many depths.

(b) Sonic logging. Sonic logging (§11.7.2), also
called wvelocity logging, yields a continuous-velocity
survey. The sonic log measures the traveltime of a P
wave between two sensors 2 ft (60 cm) apart to give
the velocity, and the traveltimes are integrated to
give a time—-depth relation. The sonic log is rarely
run all the way to the surface. The traveltimes to the
top of the sonic log and to a number of other depths
(including total depth) are often determined by di-
rect measurement from the surface to a borehole
geophone (as discussed in §4.5.5a). The results of
these check shots are used to remove the cumulative
and other errors involved in integrating the sonic log.

(c) X2-T? method. The travcltime of reflected en-
ergy depends not only on the reflector depth and the
velocity above the reflector, but also on offset dis-
tance, a dependence that permits measuring the ve-
locity. Equation (4.63) can be written

2= X2V 8 (48

If we plot 2 as a function of x?, we get a straight

line whose slope is 1/V,> and whose interccpt is for
from which we can determine the reflector depth.
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The quantity V; is the stacking velocity (§4.5.2a)
pecause it is used for normal-moveout removal in
stacking. Velocity analyses (§4.7.7) are based on the
normal-moveout concept. Sometimes special long-
offset profiles are used to give better accuracy. An
x2-T? survey can give velocities accurate within a
few percent where (1) the data are of good quality
and have a moderate number of reflections from
pearly horizontal, parallel reflectors, (2) accurate
pear-surface corrections are applied, and (3) the ve-
locity distribution is simple (that is, there is no
lateral variation of velocity or complexity of struc-
ture).

For horizontal velocity layering, ¥, = V. and
the interval velocity can be found between parallel
reflectors. Writing ¥, for the velocity to the nth
reflector and ¥V, for the velocity to the reflector
above it, Equation (4.64) gives

n—1 n

n
Z Vlzfi = Z Vizli + Vnzln = Vl‘zzti
1

n—1
IIRAERZDIN?
1

Subtracting, we get the Dix formula for the interval
velocity in the nth bed:

n-1

2 - (VLZZ& s )/ (485)
1 1

Note that this equation requires parallel horizontal
reflectors. The measurement of velocity is discussed
by Hubral and Krey (1980).

4.6. REFRACTION FELD METHODS
AND EQUIPMENT

4.6.1. Comparison of Refraction and
Reflection Methods

Refraction and reflection work are similar in many
aspects and reflection field crews sometimes do re-
fraction profiling, though often not with the effi-
ciency of a crew specifically designed for refraction.
The differences between reflection and refraction field
work mostly result from the long source-to-geophone
distances employed in refraction. The energy input
to the ground must be larger for refraction shooting,
and explosives continue to be the dominant cnergy
Source, although other sources are also used. The
lOf.lgel‘ travelpaths result in the higher frequencies
being mostly absorbed so that refraction data are
generally of low frequency. Consequently refraction
geophones have lower natural frequencics than re-
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flection geophones, although the response of the
latter is often adequate for satisfactory refraction
recording. Most digital seismic equipment can be
used for refraction. Refraction shooting is usually
slower than reflection shooting because the large
offset distances involve more moving time and create
problems of communications and logistics. However,
refraction profiles are often not as closely spaced as
reflection lines and hence the cost of mapping an
area is not necessarily greater.

4.6.2. In-Line Refraction

The basic refraction field method involves shooting
reversed refraction profiles, a long linear spread of
many geophone groups shot from. each end; the
distance is great enough that the dominant portion
of the travelpath is as a headwave in the refractor or
refractors being mapped. Usually it is not practical
to simultaneously record many geophone groups
spread over such a long distance, and hence refrac-
tion profiles are shot in segments. Referring to Fig-
ure 4.68a, which shows a single refractor, the spread
of geophone groups might be laid out between C and
D and shots at C and G fired to give two records;
the spread then might be moved between D and E
and shots fired at C and G as before, and so on, to
develop the complete reversed profile CDEFG. The
charge size is often varied for the different scgments
because larger charges are required when the offset
becomes greater. Usually one or two groups will be
repeated for successive segments to increase the reli-
ability of the time tie between segments.

The shothole at C can also be used to record a
profile to the left of C and the shothole at G to
record a profile to the right of G. Note that the
reciprocal time ¢, is the same for the reversed pro-
files and that the intercept times for profiles shot in
diffcrent directions from the same shotpoint are
equal. These equalities are exceedingly valuable
in identifying segments of complex time-distance
curves where several refractors are present. In simple
situations, the reverse profile can be constructed
without having to actually shoot it by using the
reciprocal time and intercept time information.
However, usually situations of interest are suffi-
ciently complicated that this procedure cannot be
carried out reliably.

The reversed profiles shot from C and G allow the
mapping of the refractor from L to M. The reversed
profile to the left of C permits mapping as far as K.
but no coverage is obtained for the portion KL.
Hence continuous coverage on the refractor requires
an overlap of the reversed profiles; a reversed profile
between 4 and E (shown dashed in Fig. 4.68a)
would provide coverage between U and V, thus
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Figure 4.68. Reversed refraction profiles. (a) Time- distance plot for continuous re-
versed profiling. (b) Section showing raypaths for single refractor.

including the gap KL as well as duplicating the
coverage UK and LV. Duplicate coverage does not
yield new information but in actual profiling it pro-
vides valuable checks that increase the reliability of
interpretation.

If we have the two-refractor situation in Figure
4.69, first break coverage on the shallow refractor is
obtained from L to K and irom M to N when the
shots are at C and G. The corresponding coverage
on the deeper refractor is from @ to § and from R
to P.

If we are able to resolve the refraction events that
arrive later than the first breaks, called second ar-
rivals or secondary refractions, we can increase the
coverage obtained with a single profile. However, it
is difficult with analog equipment to adjust the gain
to optimize both first breaks and second arrivals at
the same time. If the gain is too low, the first breaks
may be weak and ambiguities in timing may result,
whereas if the gain is too high, the secondary refrac-
tions may be unpickable. Because of this difficulty,
prior to magnetic-tape recording, refraction mapping
was generally based on first breaks only. With mag-
netic-tape recording, each event can be displayed
under optimum conditions.

The portions of the time-distance curves that do
not add information necessary to map the refractor
of interest often are not shot where they can be
predicted reasonably accurately. Thus, the portions
CP and GQ of the reversed profile in Figure 4.68a
can be omitted.

Where a single refractor is being followed, a
series of short refraction profiles is often shot rather
than a long profile. In Figure 4.70 geophones from C
to E are used with shotpoint C, from E to F with

(@)

Figure 4.69. Reversed refraction profiles for two-refractor
case. {a) Time- distance plot. (b} Section showing ray-
paths for two refractors.

shotpoint D, F to G with shotpoint E, etc. The
portions of the time-distance curves attributable to
the refractor being mapped are then translated paral-
lel to themselves until they connect to make a com-
posite time—distance curve such as that shown by the
dashed line. The composite curve may differ from
the curve that would actually have been obtained for
a long profile from shotpoint C because of refraction
events from other horizons.

4.6.3. Broadside Refraction and Fan Shooting

In broadside refraction shooting, shotpoints and
spreads are located along two parallel lines (Fig.
4.71) selected so that the desired refraction event can
be mapped with a minimum of interference from
other events. Where the refraction event can b
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translation of segments of the curves.

F G

Figure 4.70. Unreversed refraction profiles for a single refractor, showing projections
back to the intercept time (short dashes) and compositing for shot C by upward
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clearly distinguished from other arrivals, it provides
a very economical method of profiling because all
the data yield information about the refractor. How-
ever, usually the criteria for identifying the refraction
event are based on in-line measurements (such as the
apparent velocity or the relationship to other events),
and these criteria are not available on broadside
records where the offset distance is essentially con-
stant. Thus if the refractor should unexpcctedly
change its depth or if another refraction arrival
should appear, one might end up mapping the wrong,
horizon. Consequently, broadside refraction shooting
is often combined with occasional in-line profiles to
check the identity of the horizon being mapped.
The first extensive use of refraction was in search-
ing for salt domes by the fan-shooting technique. A
salt dome inserts a high-velocity mass into an other-
wise low-velocity section so that horizontally travel-
ing energy arrives earlier than if the salt dome were
Dot present; the difference in traveltime between that

Fig. actually observed and that expected with no salt
can dome present is called a lead. In Jan shooting (Fig,
-om 472), geophones are located in different directions

from the shotpoint at roughly the same offset dis-

Figure 4.71. Broadside refraction profiling.

tances. The desire to maintain constant offset dis-
tance usually is sacrificed in favor of locations that
are more readily accessible. The leads shown by
overlapping fans then roughly locate the high-veloc-
ity mass. This method is not used for precise shape
definition.

4.6.4. Engineering Surveys on Land

The shallow refractions used in engineering applica-
tions, such as in determining the depth to bedrock,
do not require large energy sources or complex in-
strumentation. Energy sources are usually very sim-
ple, for example, a hammer striking a stecl plate on
the ground. The instant of impact is determined by
an inertial switch on the hammer. Sometimes the
cnergy is obtained by a hand-operated tamper, by a
weight dropped on the ground (§4.5.3c), or by a
small explosion. Such sources are also used for re-
flection engineering surveys (Meidav, 1969).

The energy is usually detected by moving-coil
geophones similar to those already described. Often
only a few channels are used, perhaps six, because
otherwise the spread layout becomes complicated.
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Figure 4.72. Fan shooting. (After Nettleton, 1940.)

The amplifiers and the camera generally weigh only
a few pounds and often are contained in a small
metal suitcase. In some systems, the recorded data
are displayed on a small oscilloscope tube and pho-
tographed with a Polaroid camera so that a perma-
nent record is obtained. In other systems, time coun-
ters are started at the instant the energy is delivered
to the ground and stopped when the first-break
energy arrives at the geophones, thus giving direct
readings of traveltimes.

4.6.5. Marine Refraction Work

Because refraction recording requires that there be
appreciable distance between the source and the
recording locations, two ships have usually been
required for marine refraction recording. To shoot a
reversed refraction profile in one traverse requires
three ships - a shooting ship at each end and a
recording ship that travels between them. For the
shooting ships to travel the considerable distances
between shotpoints takes appreciable time because
of the relatively low maximum speed of ships, and
hence the high production rates that make marine
reflection work economical are not realized in marine
refraction.

The sonobuoy (Fig. 4.73) permits recording a re-
fraction profile with o.ly one ship. The sonobuoy is

LN

an expendable listening station that radios the infor-
mation it receives back to the shooting ship. The
sonobuoy is merely thrown overboard. The salt wa-
ter activates batteries in the sonobuoy as well as
other devices that cause a radio antenna to be ex-
tended upward and one or two hydrophones to be
suspended beneath the buoy. As the ship travels
away from the buoy, shots are fired and the signals
received by the hydrophones are radioed back to the
ship where they are recorded. The arrival time of the
wave that travels directly through the water from the
shot to the hydrophone is used to give the offset
distance. After a given length of time the buoy sinks
itself and is not recovered. Sonobuoys make it prac-
tical to record unreversed refraction profiles while
carrying out reflection profiling. The only additional
equipment cost is that of the sonobuoys.

4.6.6. Refraction Data Reduction

Refraction data have to be corrected for elevation
and weathering variations, as with reflection data
The correction methods (§4.7.1) are essentially the
same except that often geophones are too far from
the shotpoint to record the refraction at the base of
the LVL and thus there may be no weathering data
along much of the line. Additional shots may be
taken for weathering information.
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Where complete refraction profiles from zero off-
set to large offsets are available, playback of the data
with judicious selections of filters and AGC may
allow one to correlate reflection events with refrac-
tion events, thus adding useful information to each
type of interpretation. Often the most prominent
reflections will not correspond to the most promi-
nent refractions.

Another useful technique is to display the data as
a reduced refraction section where arrival times have
been shifted by the amount x/Vy, where Vj is near
the refractor velocity. If ¥ were exactly equal to the
refractor velocity, the residual times would be the
delay times (which will be discussed in §4.9.3), and
relief on the reduced refraction section would corre-
late with refractor relief (although displaced from
the subsurface location of the relief). However, even
if Vg is only approximately correct, the use of re-
duced sections considerably improves the pickability
of refraction events, especially secondary refractions.

4.7. DATA PROCESSING

4.7.1. Data Reduction

Variations in the elevation of the surface affect trav-
eltimes and it is necessary to correct for such varia-
tions as well as for changes in the near-surface
low-velocity-layer (LVL). Usually a reference datum
is selected and corrections are calculated so that, in
effect, the shotpoints and geophones are located on
the datum surface, and it is assumed that conditions
are uniform and that there is no LVL material below
the datum level. The reference datum is usually
horizontal, but where elevation variations are large, a
tilted datum or a floating darum (one having the
generalized relief of the surface but with smaller
magnitude) may be used.

Many methods exist for correcting for near-
surface effects. These schemes are usually based on
(1) uphole times, (2) refractions from the base of the
LVL, or (3) the smoothing of reflections. We shall
describe several of these methods that are simple to
apply and adequate to cover most situations. Auto-
matic statics-correction schemes, which usually in-
volve statistical methods of smoothing reflections,
will be discussed in Section 4.7.5d. We shall assume
that ¥, and ¥}, the velocities in the LVL and in the
layer just below it, are known; they can be found
from an uphole survey or the refraction first breaks,
as will be discussed later in the section. In what
follows we assume that the shot is placed below the
base of the LVL; if this is not true, modifications
have to be made in the equations in this section (see
problem 10).

Seismic methods

Figure 4.74 illustrates a method of obtaining the
correction for f,, the shotpoint arrival time. E, i
the elevation of the datum, E; the elevation of the
surface at the shotpoint, D, the depth of the shot
below the surface, and 1, is the uphole time
(§4.5.2¢). The deviation of reflection paths from the
vertical is usually small enough that we can regard
the paths as vertical. Therefore, the time required for
the wave to travel from the source down to the
datum is Az, where

E - D - E,
At = (—__.'2 (4.86)
Vu

Similarly, the time for the wave to travel up from the
datum to a geophone on the surface at B is Axg
where

Aty = At + 1y, (4.87)

The correction Aty for the traveltime for a geophone
at the sourcepoint is then
Bty = A1, + A1, =241, + 1,
WE - D —
JHE-DCE) t  (488)
Yu

Subtraction of A¢, from the arrival time 1, is equiva-
lent to placing the shot and the shotpoint geophone
group on the datum plane, thereby eliminating the
cffect of the low-velocity layer if the shot is beneath
the LVL. At times the shot may be so far below the
datum plane that Az, will be negative.

When Equation (4.56) is used to calculate dip, the
dip moveout must be corrected for elevation and
weathering. The correction to the dip moveout, Az,
often called the differential weathering correction, is
the difference in traveltimes at opposite ends of a
split-dip spread for a reflection from a horizontal
bed. Referring to Figure 4.74, the raypaths from the
shot B down to a horizontal bed and back to geo-
phones at 4 and C have identical traveltimes except
for the portions A’A and C'C from the datum to the
surface. Assuming as before that 4’4 and C'C are
verlical, we get for Ar, the expression

At = (Atg)c - (Atg)A
= (A1, + ty) e — (A1, + 1) 4 (4.89)

If we take the positive direction of dip to be down
from A toward C, then (Af./Ax) must be sub-
tracted algebraically from the observed moveout t0
obtain the true dip moveout.

The following calculation illustrates the effect of
the correction. We take as datum a horizontal plane
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Table 4.3. Calculation of differential weathering
correction.

Shotpoint  Shotpaint  Shotpoint

B A

ne Measured £ (m) 248 244 257

D, (m) 15 13 20

o (Ms) 48 44 53

Calculated Ar; (ms) 16 15 8

’ Af‘ (ms) 64 59 71

) Azg (ms) 80 74 89
Ar, (ms) -7

200 m above sea level: ¥}, is 2,075 m/s. Table 4.3
gives data for three successive shotpoints, 4, B, and
C, at intervals of 500 m (such as those in Fig, 4.74).

Let us suppose that a reflection on a split profiie
from shotpoint B gives the following data: 1, = 2.421
S, 1y = 24195, and ¢ = 2.431 5. Then the corrected
* value of 7, is 2.421 ~ 0.074 = 2.347 s and the cor-
rected dip moveout is

At,/Ax = {(2.431 - 2.419 - (-0.007)} /0.5

= 38 ms/km

WD e 0 D

If (1c = 1,) had been negative, for example —10
ms, then the dip moveout would be {-10 -
(=7}/05 = —6 ms/km, so that the correction can
change the direction of dip as well as its magnitude.
Therefore accurate corrections are essential,
Corrections are often required for geophones in
between shotpoints, hence uphole times are not
available and the first breaks are frequently used in
this case. In Figure 4.75 G is a geophone intermedi-
ate between adjacent shotpoints A4 and B. Let Lie
and 15 be the first-break times for the paths 4'C'G
and B'C”G. Almost always GC’ and GC" are within
20° of the vertical and C'C" s therefore small. Thus,

A

Figure 4.74. Calculation of weathering corrections.

we can write the approximate relation
lag ¥ lpg = —— + 2y = — + 21,
Vi Vu

where 1, is the traveltime through the weathered
layer at G. Thus,

tw = {tye + tyg ~ ("“9/1/}11)}/2 (4.90)

Subtracting #;;, from the arrival times in cflect places
the geophone at the base of the LVL. To correct to
datum we must subtract the additional amount
(E, — E;— Dy,)/Vy, where E, is the elevation of
the geophone group and Dy, is found by multiplying
Iy by V.

Occasionally special refraction profiles are shot to
obtain data for making corrections for intermediate
geophones. These profiles may be of the standard
type using small charges placed near the surface or a
nondynamite source on the surface; they arc inter-
preted using standard methods such as Wyrobek’s
(§4.9.3¢) to find the depth and traveltime to the base
of the LVL. Alternatively, a shot may be placed just
below the LVL as in Figure 4.75, in which event we
must modify Equation (4.69) because the shot is at
the base rather than the top of the upper layer. Thus,

x ~ Dy, tan6, Dy, x Dy, cos 8,

= = — _——
Vy Viwcos, ¥V, Vi

(4.91)

Most near-surface correction methods requirc a
knowledge of ¥, and sometimes of Vy as well. The
former can be determined by: (1) an uphole survey
as described in Section 4.5.2¢, (2) a special refraction
survey as described above, or (3) analysis of the first
breaks for distant geophone groups (because thesc
are equivalent to a refraction profile such as that
shown in Fig. 4.76). The weathering velocity ¥}, can
be found by (1) measuring the slope of a plot of the
first breaks for geophones near the shotpoint (cor-
recting distances for obliquity), (2) dividing D, by
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Velocity = V-
Base of LVL

—

Velocity = Vi

Datum plane

E,

Figure 4.75. Datum correction for geophone between shotpoints.

Figure 4.76. Refraction weathering profile.

t,, for a shot placed near the base of the LVL, (3) an
uphole survey, or (4) firing a cap at the surface and
measuring the velocity of the direct wave. Of these,
(3) is clearly superior.

4.7.2. Introduction to Digital Processing:
Fourier Transforms

Most seismic processing is done in digital form
(Robinson and Treitel, 1973; Schultz, 1985) and in
the following we treat seismic data as time series
(whereas Appendix A treats much of the same mate-
rial as continuous functions). Data processing is
based on the application of information theory and
we present here a simplified version of its concepts; a
more complete account is given in Sheriff and
Geldart (1983, Chap. 10).

Usually we think of seismic data as the variation
with time (measured from the source instant) of the
amplitudes of various geophone outputs. When we
take this viewpoint, we are thinking in the fime
domain, that is, time is the independent variable. We
also sometimes find it convenient to regard a seismic
wave as a superposition of many sinusoidal waves
differing in frequency, amplitude, and phase. Then
the relative amplitudes and phases are functions of
frequency and we arc thinking in the frequency do-
main. The frequency domain approach is illustrated
by electrical systems that are specified by their ef-
fects on the amplitude and phases of sinusoidal
signals of different frequencies. For example, graphs
of filter characteristics usually show amplitude ratios

or phase shifts as ordinates with frequency along the
abscissa.

A Fourier transform (§A.9.2) in our context in-
volves transforming functions from the time domain
to the frequency domain and an inverse Fourier
transform transforming from the frequency domain
to the time domain. The important point with trans-
forms is that no information is lost in transforming,
We can, thus, start with a waveform in the time
domain, transform it into the frequency domain, and
then transform the frequency-domain representation
into a waveform that is identical with the original
waveform. This makes it possible to do part of our
processing in the time domain and part in the fre-
quency domain, taking advantage of the fact that
some processes can be executed more economically
in one domain than in the other. We also gain
additional understanding from having the viewpoints
of both domains.

If we have a reasonably * well-behaved” function
g and its transform G, then [compare with Eq.
(A.53)]

g = Y. G, e/*™ (4.92)

G, = Zgr e /2 (4'93)
'

Equation (4.93) gives the Fourier transform of &
whereas Equation (4.92) gives the inverse transform
g, [Egs. (4.92) and (4.93) are often written in other

equivalent forms.] We refer to g, and G, as a (rans
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form pair and the relation is expressed in the form
gr hid Gy

For actual waveforms, g, is real and usually causal
(§A.9.3). In general. G, is complex [Eq. (A.56)]. so

G, = A, e (4.94)

where A, is real and positive and is called the
amplitude spectrum: ¢, is also real and is called the
phase spectrum. Substitution in Equation (4.92) gives

g = LA, e/@mte,) (4.95)

v

When g, is real (the usual case), it equals the real
part of Equation (4.95):

& = Y A,cos(2mvt + ¢,) (4.96)

4.7.3. Convolution

{a) The convolution operation. Let us now con-
sider the time-domain operation called convolution
(§A.10). Assume that we feed into a system data
sampled at regular intervals, for example, a digital
seismic trace. The output of the system can be calcu-
lated if we know the impulse response (§A.13) of the
system, that is, the response of the system when the
input is a unit impulse 8, (§A.9.3). The impulse
response of the system will be zero prior to + = 0
and then will have the values f,, f,, f2. ... at succes-
sive sampling intervals. We represent this process
diagramatically thus:

8 = |system | > f = [fo. fi. fr,-. ]

Most systems with which we deal are linear
(8A.13) and time-invariant (or very nearly so). A
linear system is one in which the output is dircetly
proportional to the input whereas a time-invariant
System is one in which the output is independent of
the time when the input occurred. Writing §,_, for a
unit impulse that occurs at = n A, where A is the
sampling interval, we can illustrate linear and time-

invariant systems as follows:
Linear:

system | — kf, = [ kfy. kf}, kfy,...]
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Time invariant:

8_, — |system| —» f__

= [0,0,0,...,0,f0.f1.f2,...]

n Zeros

In the last bracket on the right, the first output
different from zero is f, and occurs at the instant
t=nl.

Obviously any input that consists of a series of
sampled values can be represented by a series of unit
impulses multiplied by appropriate amplitude fac-
tors. We can then use the above two properties to
find the output for each input impulse and by super-
imposing these we get the output for the arbitrary
input. This process is called convolution.

We shall illustrate convolution by considering the
output for a filter whose impulse response f is
{(fo» Aiu L1 =11, — 1.3). When the input x, is
[Xo, x1, x,] =1, 3, = 3], we apply to the input the
series of impulses (8,3 8,_;, ~ 1 §,_,] (the last two
subscripts mean that the impulses are delayed by one
and two sampling intervals, respectively) and obtain
the output

8- [1.-13]
%8:—1 - [0 3.~ %%]
-18.,-[00-34.-14]

By summing we find the output

[6+358.-38,] = [1.- 4 -4.3.- 4]
Convolution is illustrated in Figure 4.77. This opera-
tion is equivalent to replacing each element of the
input by an appropriately scaled version of the im-
pulse response and then summing elements that oc-
cur at the same times. If we call the output 2, and
denote the operation of taking the convolution by an
asterisk, we can express this as
Z=x*f, =Y x_4fy (4.97a)
k
= [xofo. x1fo + Xofy. Xo fo + 3, fy + Xofy---]
. (4.97b)

Note that we would have obtained the same result if

we had input £, into a filter whose impulse response
i x,; in other words, convolution is commutative:

Xxfi=f*xx, = le-kfk = Z/;—kxk (4.98)
k k

The convolution theorem states that the Fourier
transform of the convolution of two functions is
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Figure 4.77. Filtering as an example of convolution.

equal to the product of the transforms of the individ-
ual functions. We can state the theorem as

x, > X(v) =| X(v) | e
f, & F(») =|F(v)|e#®
X fy o X(v) F(v)
= [| x(») | er#] [IF(»)| /4]
o | X(2) || F(3) | #0401 (4.99)

where [X(v)| and |F(»)| are the amplitude spectra,
and ¢,(v) and ¢ (») arc the phase spectra. This
means that if two sets of data are convolved in the
time domain, the effect in the frequency domain is to
multiply their amplitude spectra and to add their
phase spectra. Because of symmetry properties of the
Fourier transform [Eq. (A.60)], it can be shown that

x,f, < X(»)* F(») (4.100)

(b) Sampling and aliasing. In the analog-to-digital
conversion, we replace the continuous signal with a
series of values at fixed intervals. It would appear
that we are losing information by discarding the data
between the sampling instants. The transform rela-
tionship in Equations (4.92) and (4.93) can be used
to understand sampling and the situations in which
information is not lost.

We make use of the comb or sampling function,
which consists of an infinite set of regularly spaced
unit impulses (§A.9.3 and Fig. 4.78b). The transform

of a comb is also a comb:
comb(1) < k, comb(») (4.101)

where k; depends upon the sampling interval (see

problem 12b). If the comb in the time domain has
elements every 4 ms, that is, the sampling frequency
is 1/0.004 = 250 Hz, the transform is a comb with
spacing 250 Hz. We shall also make use of the
boxcar (Fig. 4.78d), a function that has a constant
value over the range +w¥, and is zero everywhere
else. The transform of a boxcar is a sinc function:

sin 27 yy!

boxcar(v) © ky sinc(2myyt) = k, Py
o

(4.102)

where k, is the area of the boxcar (see problem 120).

Figure 4.78a shows a continuous, real, causal
function y(7) and its amplitude spectrum |Y(»)[; the 3
latter is symmetric about zero, so negative frequen- 4
cies give the same values as positive {requencies. E

The sampled data that represent y(1) can be 4
found by multiplying the continuous function by the b
comb (hence the name “‘sampling function”). If we 3
are sampling every 4 ms we use a comb with ele- 2
ments every 4 ms. According to Equation (4.100). g"z

G

comb(1) y(t) © k, comb(»)*Y(¥).

Convolution is equivalent to replacing each date g
element [each impulse in comb(») in this instanc‘f];}
with the other function Y(») (properly scaled). Thisg
is illustrated i Figure 4.78c. Note that the frequef®
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Figure 4.78, Sampling

spectrum of the sampled function differs from the
spectrum of the continuous function by the repeti-
tion of the spectrum every 250 Hz.

We can recover the spectrum of the original func-
tion by multiplying the spectrum of the sampled
function by a boxcar. The equivalent time-domain
operation [Eq. (4.99)] is to convolve the sample data
with the sinc function. As shown in Figure 4.78e, this
restores the original function in every detail. The
sinc function thus provides the precise “operator”
for interpolating between sample values.

In the above instance no information whatsoever
was lost in the process of sampling and interpolat-
ing. However, if the continuous function had had a
Spectrum (shown dotted in Fig, 4.78a) that included
frequency components higher than 125 Hz (in this
example), then the time-domain multiplication by
the sampling function would have produced an over-
lap of frequency spectra (dotted curves in Fig. 4.78¢)
and no longer would we be able to recover the
original spectrum from the spectrum of the sampled

- data; hence we would not be able to recover the

original waveform. Whether or not the original wave-

+form is recoverable depends, therefore, on whether

Or not the original waveform contains frequencies

2 h?gher than half of the sampling frequency.

* The relationships demonstrated in the foregoing
:text are summarized by the samplirg theorem: No

and reconstituting.

information is lost by regular sampling provided that
the sampling frequency is greater than twice the
highest frequency component in the waveform being
sampled. This is equivalent to saying that there must
be more than two samples per cycle for the highest
frequency. The sampling theorem thus determines
the minimum sampling we can use. Because this
minimum sampling allows complete recovery of the
waveform, we can further conclude that nothing is
gained by using a finer sampling. Thus, sampling
rates of 2 and 4 ms permit us to record data faith-
fully provided none of the signal spectrum lies above
250 and 125 Hz, respectively.

Half the sampling frequency is called the Nyquist
frequency. Any fréquency present in the signal that is
greater than the Nyquist frequency #, by the amount
Av will be indistinguishable from the lower fre-
quency », ~ Av. In Figure 4.79 we sec that a sam-
pling rate of 4 ms (that is, 250 samples/s) will allow
perfect recording of a 75 Hz signal but 175 and 250
Hz signals will appear as (that is, will alias as) 75
and 0 Hz (which is the same as a direct current),
respectively. Alias signals that fall within the fre-
quency band in which we are primarily interested
will appear to be legitimate signals. To avoid this,
aliasing filters are used before sampling to remove
frequency components higher than the Nyquist fre-
quency. With filters having 72 dB/octave slope, we
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Figure 4.79. Sampling and aliasing. Different frequencies sampled at 4 ms intervals (250
times per second). (a) 75 Hz signal. (b) The 175 Hz signal yields the same sample values
as 75 Hz. (c) The 250 Hz signal yields samples of constant value {dc).

must begin filtering an octave lower than the Nyquist
frequency to be sure that frequencies that might
otherwise alias are reduced by at least 72 dB before
sampling (Fig. 4.56). This must be done before sam-
pling because afterward the alias signals cannot be
distinguished. Alias filtering also has to be donec
before any resampling operation that may be per-
formed during data processing. Aliasing is an inher-
ent property of all systems that sample and thus
applies not only to time sampling but also to other
situations, such as where we use geophones to sam-
ple the earth motion (spatial sampling).

(c) Filtering by the earth. We can think of the
earth as a filter of seismic energy. We might consider
the wave resulting from an explosion as an impulse
k§,, that is, the wave motion at the source of the
explosion is zero both before and after the explosion
and differs from zero only in an extremely short
interval (essentially at 7 = 0) and during this in-
finitesimal interval the motion is very large. Ideally,
the signal that we record would be simply k 8(¢)
convolved with the impulse response of the carth.

The result would be zero except for sharp pulses
corresponding to the arrivals of different reflections.
If this were so, we could determine easily from the
recorded data the complete solution to the seismic
problem. However, in practice, the waveform is
strung out and modified by filtering due to absorp-
tion and other causes so that reflection waveforms
overlap, and several types of coherent noise and
random noise are superimposed.

The waveform that we finally record as a seismic
record is the result of the successive convolutions of
the shot impulsc with the impulse response of the
various portions of the earth through which the wave
travels. We can arrive at an approximate picture by
considering the carth to be divided into zones:

1. The zone near the shot where stress levels and the
absorption of the highest frequencies are very
severe. We write s, for the impulse response of
this zone.

2. The reflecting sequence of beds whose impulse
response e, is the “messags” information that we
are secking to discover by our seismic exploration.
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‘&7 4 Changes in propagating through the section ( )
1._%?.‘ because of absorption, peg-leg multiples, and other
54 causes.

"' 4. The near-surface zone that exercises considerable
filtering action in changing the waveshape. We
write n, for the impulse response of this last zone.

Neglecting additional filtering effects, we thus write
the seismic trace z, as the expression

z,=k8,‘5,‘¢’,*p:‘”r=(ksr*sr*Pt*"l)*e:

(4.103)

The factor (k8 %5, % p,«n,) is called the embedded
wavelet.

When we use a Vibroseis source, the input to the
earth is a long wavetrain v, and the seismic trace z;
which results is

2/ = (Ur*sl’*]'r*"l)*et (4.104)
(where we writc s/ rather than s, because the filter-
ing processes near the Vibroseis source may be dif-

ferent from those ncar a shot owing to the different
‘magnitude of the stresses involved).

(d) Water reverberation and deconvolution. Let
us examine the effect of multiples resulting from
reflection at the bottom and top of a water layer
{Backus, 1959). We write nA for the round trip
traveltime from top to bottom of the water and back
where # is an integer and A is the sampling interval.
We assume that the reflection cocfiicients at the
surface and bottom of the water layer are such that
the ratios of the reflected to incident amplitudes are
=1 and +r, respectively, where the minus sign
denotes phase reversal at the water—air interface. We
assume also that the amplitude of a wave returning
directly to a hydrophone after reflection at a certain
horizon (without a “bounce” round trip between top
and bottom of the water layer) is unity and that its
traveltime is . A wave that is reflected at the same
horizon and suffers a bounce either before or after its
travel down to the reflector, will arrive at time 7 + n A
with the amplitude —r. Because there are two ray-
paths with the same traveltime for a single-bounce
Wave, one that bounced before traveling downward
and one that bounced after returning from depth, we
have in effect a wave arriving at time 7 + n A with
amplitude — 2. There will be three waves that suffer
two bounces: One that bounces twice before going
downward to the reflector, one that bounces twice on

feturn to the surface, and one that bounces once

before and once after its travel downward; each of
these is of amplitude r? so that their sum is a wave

of amplitude 3r2 arriving at time ¢ + 21 A. Continu-
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ing thus, we see that a hydrophone will detect suc-
cessive signals of amplitudes 1, —2r, 3r2, —4,3,
5r,... arriving at intervals of n A. We can therefore
write for the impulse response of water layers of
depths d = (n A)V /2, where V is the velocity in the
water and n = 1, 2, 3, respectively:

w,=[1,-2r,3r2, - 4r3,5r4,...]
=[1,0,~-2r,0,3r2,0, - 4r% .. ] (4.105)
=[1,0,0, - 2r,0,0,3-2,.. ]

If we transform this to the frequency domain, we
find a large peak (the size of the peak increasing with
increasing r) at the frequency 2/n A and at multi-
ples of this frequency. These are the frequencies that
are reinforced at this water depth (that is, the fre-
quencies for which interference is constructive). The
result of passing a wavetrain through a water layer is
the same as multiplying the amplitude spectrum of
the waveform without the water layer by the spec-
trum of the impulse response of the water layer.
Whenever the reflection cocfficient is large (and hence
r is large) and the frequency (2/n A) (or one of its
harmonics) lies within the seismic spectrum, the seis-
mic record will appear very sinusoidal with hardly
any variation in amplitude throughout the recording
period (Fig. 4.43b). Because of the overriding oscilla-
tions, it will be difficult to interpret the primary
reflections.

A filter i, that has the property that

w, i, = §, (4.106)
is called the inverse filter of w, If we pass the
reverberatory output from the hydrophones through
the inverse filter (in a data processing center), we will
remove the effect of the water-layer filter. The in-
verse of the water-layer filter is a simple filter with
only three nonzero terms, for example,

ip=[1,2r,r%] n=1
=[1,0,2r,0, 7?] n=23(4.107)
=[1,0,0.2r,0,0, 2] n=73

and so forth (sce problem 13). Figure 4.36b shows
the result of applying such a filter.

The process of convolving with an inverse filter is
called deconvolution and is onc of the most im-
portant operations in seismic data processing
(Middleton and Whittlesey, 1968; Webster, 1978:
Ziolkowski, 1984). Whereas we have illustrated de- .
convolution as removing the singing effcct of a water |
layer, if we know enough about the filters and the i
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signal, we could also deconvolve for other filters
whose effects we wish to remove.

4.7.4. Correlation

(a) Cross-correlation. The cross-correlation func-
tion is a measure of the similarity between two data
sets. One set is displaced relative to the other, corre-
sponding values of the two sets are multiplied to-
gether, and the products are summed to give the
value of the cross-correlation. Wherever the two sets
are nearly the same, the products will usually be
positive and hence the cross-correlation is large;
wherever the sets are unlike, some of the products
will be positive and some negative, and hence the
sum will be small. If the cross-correlation function
has a large negative value, it means that the two data
sets would be similar if one were inverted (that is,
they are similar except that they are out of phase).
Obviously, the cross-correlation is a function of the

relative shift between the sets. By convention we call |

a shift positive if it involves moving the second
function to the left with respect to the first function.

We express the cross-correlation of two data sets
x, and y, as

¢xy(7) = Zxkyk+'r (4108)
k

where 7 is the displacement of y, relative to x,.
[Note that ¢, ,(7) is a data set rather than a continu-
ous function, because x and y are data sets.] Let us
illustrate cross-correlation by correlating the two
functions x, = [1, — 1,3]and y, = [1,3, — 3], shown
in Figure 4.80. Figure 4.80c shows the two functions
in their normal positions. Figure 4.80a shows j,
shifted two units to the right; corresponding coordi-
nates are multiplied and summed as shown below
the diagram to give ¢, ,(—2). Figures 4.80b, ¢, d, e
show y, shifted varying amounts whereas Figure
4.80f shows the graph of ¢,,(7). The cross-correla-
tion has its maximum value (the functions are most
similar) when y, is shifted one unit to the left (7 = 1).
Obviously, we get the same results if we shift x, one
space to the right. In other words,
by (1) = 9 (=7) (4.109)
The similarity between Equation (4.108) and the
convolution equation (4.98) should be noted. We
may rewrite Equation (4.108) in the form

q’xy('r) = ¢yx( _T) = %ykxk-—f

= Eykx—('r—k) =y *+x., (4110)
k

Seismic methods

Hence cross-correlation can be performed by revers-
ing the first data set and convolving.

If two data sets are cross-correlated in the time
domain, the effect in the frequency domain is the
same as multiplying ‘the complex spectrum of the
first data set by the conjugate of the complex spec-
trum of the sccond set. Because forming the complex
conjugate involves only reversing the sign of the
phase, cross-correlation is equivalent to multiplying
the amplitude spectra and subtracting the phase
spectra. In mathematical terms,

X, X(v) =| X(3) [ )
yo o Y(v) =[¥(r)] e
x_, o X(7) =| X(v) ] e

8, (1) © XY V() =| X(0) | |Y(2) | /%8
(4.111)

We note that changing the sign of a phase spectrum
is equivalent to reversing the trace in the time do-
main.

(b) Autocorrelation. The special case where a data
set is being correlated with itself is called autocorre-
lation. In this case, Equation (4.108) becomes

‘Pxx('r) = Z'xkxk+7 (4112)
3

Autocorrelation functions are symmetrical because a
time shift to the right is the same as a shift to the
left, that is, from Equation (4.112),

¢xx(7) = ¢xx(—7) (4113)

The autocorrelation has its peak value at zero time
shift (that is, a data set is most like itself before it is
time-shifted). If the autocorrelation should have a
large value at some time shift At # 0, it indicates
that the set tends to be periodic with the period At.
Hence the autocorrelation function may be thought
of as a measure of the repetitiveness of a function.

(c) Normalized correlation. The autocorrelation
value at zero shift is called the energy of the trace:

$x(0) = 2 xi (4114)
k

(This terminology is justified on the basis that X, is
usually a voltage, current, or velocity, and hence %
is proportional to cnergy.) For the autocor,clation

fui

Bex
fun
eneé
[X(
usu

by «

The
simi’
the ¢

Norr
value
indic:

(e 4

a me‘g




"Data processing

223

(a) Shift of -2 () Shift of —1i {c) Shift of 0
T-H T+| +1t
+ +} s +1
Xiig 0 * Xeoy 17} f X 1)
‘o Vo "

+1 +1 +1
t A4d s ! 1 gt} v At
” o - o -1 " o -

$d=2)=0+0+} =N =0—1+) G, (0) =1 ~ 1 — |
= +! = -3 =+
(d) Shift of +1 (e) Shift of +2 (f)Graph of ¢,, (1)
+1
+4
Xiay 1) ' +1
-1 + +:
4 o S N .2 S
ry _2 { 0
+1 +1 [ _t
' A+ 4! -
S 7' T o
¢,,(+|)=0J‘, d $u(+2) =040
= + = =1

Figure 4.80. Calculating the cross-correlation of two functions.

function, Equation (4.111) becomes

(1) @] X(0) [

Because the zero-shift value of the autocorrelation
function is the energy of the trace, [x(#)]? is the
energy per unit of time or the power of the trace and
[X(»)? is the energy per increment of frequency,
usually called the energy density.

We often normalize the autocorrelation function
by dividing by the energy:

(4.115)

¢XX( T)
$x(0)

The cross-correlation function is normalized in a

similar manner by dividing by the geometric mean of
the energy of the two traces:

¢Xx( T)ﬂOI’m = (4'116)

by (7)
172
[::(0) ¢,,(0)]
Normalized correlation valucs lie between +1. A

value of +1 indicates perfect copy; a value of —1
indicates perfect copy if one of the traces is inverted.

¢xy(7)norm = (4117)

(d) Automatic statics. Cross-correlation affords us
@ means of determining the amount of time shift that

will result in the optimum alignment of two seismic
traces. If one trace has been delayed with respect to
another, for cxample?‘ in passing through the ncar-
surface layers, the delay equals the shift that maxi-
mizcs the cross-correlation, that is, that produces the
optimum alignment (match) of the two traces. The
magnitude of the cross-correlation indicates quanti-
tatively how much improvement such a shift will
produce. Cross-correlation is a powerful tool and is
especially useful when the data quality is poor. It is
used in many processes to determine static correc-
tions and the amount of normal moveout to intro-
duce to align traces from different offsets before
stacking (Hileman, Embree, and Pfleuger, 1968;
Disher and Naquin, 1970). Criteria can be set that
permit such shifts to be determined and applied
automatically, provided tests are incorporated to en-
sure that the shifts so introduced are consistent (for
example, to ensure that the same corrections are
always assumed for the weathering beneath any par-
ticular location). Figure 4.81 illustrates the improve-
ment in a CMP stack resulting from the use of an
automatic statics program.

(e) Vibroseis analysis. The signal z; that the sys-
tem records when we use a Vibroseis source [Eq.
(4.104)] bears little resemblance to e,, the impulse
response of the earth. To obtain a meaningful record,

the data are correlated with the Vibroscis sweep
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signal v,. The recorded signal z; is

[ g !
z/ =y e

where we let ¢/ = s/ ¢ e, * p, * n, in Equation (4.104).
Using Equation (4.110), we find, for the cross-corre-
lation of the sweep and the recorded signal,

¢ (1) =z/*v_, = (v,*e,’)tv_,
=e/*(u*v_,)

= el 2 ,,(1) (4.118)

(The next to the last step is possible because convo-
lution is commutative.) Hence the overall effect is
that of convolving the earth function with the auto-
correlation of the Vibroseis sweep signal. The auto-
correlation function ¢,,(f) is quite sharp and has
sizable values only over a very narrow range of time
shifts. Therefore, the overlap produced by the pas-
sage of a long sweep through the earth has been
eliminated almost entirely. This is shown in Figure
4.82, where (a) and (b) are the same Vibroseis record
before and after cross-correlation.

4.7.5. Phase Considerations

Equation (4.96) represents the adding together of
cosine waves of different frequencies and different
phases. If the same components arc added together
with different phase relations, different waveforms
result. Changing the waveform changes the location
of a particular peak or trough, and hence measure-
ments of traveltimes are affected by variations in the
phase spectra. Because seismic exploration primarily
involves determining the traveltimes of events,
preservation of proper phase relationships during
data processing is essential.

Out of all possible wavelets with the same ampli-
tude spectrum, the wavelet whose energy builds up
the fastest is called the minimum-delay wavelet. Its
phase is always less than the other wavelets with the
same amplitude spectrum, and hence it is also called
minimum phase. The simplest wavelet (except for an
impulse) is a data set that contains only two ele-
ments, the set {a, b). The amplitude spectrum of this
data set is identical with that of the set [b, a], but no
other data set has the same spectrum. If |a| > |b],
energy is concentrated earlier in the wavelet in the
set [a, b] than in the set [b, a], and hence [a, b] is
minimum phase (or mirimum delay). Larger wavelets
can be expressed as the successive convolution of
two-element wavelets; a large wavelet is minimum

Seismic methods

phase if all of its component wavelets are minimum
phase. The impulse response of many of the natural
filtering processes in the earth are minimum phase.

Some filtering processes require that assumption
be made about the phasc of the signal; generally
minimum phase is assumed (Sherwood and Trorey,
1965). Thus deconvolution based on autocorrelation
information has to assume the phase because the
phase information of the waveform was lost when its
autocorrelation was formed. This can be seen from
Equation (4.115) where we note that the autocorrela-
tion function ¢,,(¢) has the transform | X(»)]* with
zero phase for all values of frequency. Thus all of the
phase information present in X(») has been lost in
the autocorrelation.

4.7.6. Frequency Filtering

(a) Least-squares (Wiener) filtering. Sometimes
we wish to determine the filter that will do the best
job of converting an input into a desired output. The
filter that most nearly accomplishes this objective in
the least-squarcs sense (§A.8) is called the least
squares filter or the Wiener filter, occasionally the
optimum filter (Robinson and Treitel, 1967).

Let the input data set be x,, the filter that we
have to determine be f,. and the desired output set
be z,. The actual result of passing x, through this
filter is x, * f, and the “error”, or difference, between
the actual and the desired outputs is (z, — x, * f}).
With the least-squares method, we add together the
squares of the errors, find the partial derivatives of
the sum with respect to the variables f; (the elements
of £), and set these derivatives equal to zero. This
gives the simultaneous equations where z, and x, are
known:

3
:772(2,—x,*f,)2=0 i=01,2....n
it

(4.119)

One such equation is obtained for each of the n +1
clements in £, and solving for the unknowns f;, we
find the filter f, that minimizes the sum of the errofs
squared. Manipulation leads to the so-called normal
equations (Sheriff and Geldart, 1983, pp. 41 and
151), which are more convenient than Equation
(4.119):

z¢xx(7—j).[f=¢xz(7) r=0,1.2,...n

j=0

(4.120)
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These equations can be used to cross-equalize
traces, that is, to make traces as nearly alike as
possible. Suppose we have a group of traces to be
stacked, such as the components of a common-mid-
point stack. After the normal-moveout corrections
have been made, the traces may still differ from each
other because they have passed through different
portions of the near surface. The normal equations
can be used to find filters that will make all the
traces as nearly as possible like some pilor trace,
such as the sum of the traces. This procedure will
improve the quality of the stacked result.

The normal equations are also used to design
deconvolution operators. The carth impulse response
e, is assumed to be random, that is, knowledge of
shallow reflections does not help to predict decper
primary reflections. Consequently, the autocorrela-
tion of e, is negligibly small except for a shift of zero
time and we can write

..(1) = k8,

The geophone input g, is regarded [Eq. (4.103)] as
the convolution of e, with various filters (the most
important of which usually results from near-surface
effects), and the overall effect is represented by the
single equivalent filter n;:

(4.121)

— 14
& =e*n

The desired output z, is the earth’s impulse response
e, (which can be shown to be minimum phase):
hence using Equation (4.110) we can write

b.(7) =z.%g_,
=e (e xnl,
= (e ve_ )xnl,
= k&, *n’,

= kn', (4.122)

The filter n! is causal, that is, it does not yield an
output until after there has been an input; hence
n, =0 for r < 0. Thus

¢, (1) =0 fori <0 (4.123)

Therefore, if we concern ourselves only with positive
values of 1, we have the values required to solve
Equation (4.120) for the deconvolution filter.

(b) Frequency filtering and deconvolution. The
use of deconvolution to remove the filtering eficct of
a water layer and the near surface has already been
discussed. Although the water-layer filter was pre-
sented in a deterministic way, the proper choice of
Parameters is usually not obvious. Statistical and
empirical ways of choosing filter parameters are
Sometimes used (Kunetz and Fourmann, 1968). De-
Convolution by Wiener filtering [using Eq. (4.123)]
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has also been discussed (Peacock and Treitel, 1969;
Robinson, 1972).

One deconvolution assumption is that the ampli-
tude spectrum should be fiat, that is, all frequency
components should be present in equal amounts. It
is argued that the Earth’s reflectivity is effectively
random [the same argument that justified Eq. (4.121)]
and hence should contain equal amounts of all fre-
quencies. This assumption is called whitening, in
analogy to white light, which contains all frequencies
in equal magnitude. It is also called spiking deconvo-
lution because the amplitude spectrum of a spike (8,)
is white. Whitening can be accomplished by Fourier
transforming a trace, flattening the amplitude spec-
trum but not changing the phase spectrum, and then
inverse transforming. Whitening can also be done in
analog processing by passing the signal through a
number of narrow bandpass filters, making their
outputs equal in magnitude, and then recombining.
Whitening tends to increase the noise if the signal
level is below the noise level for any frequency
components.

The values of a correlation function for 7+ 0
measure the predictability involved. If a trace were
nonpredictable (that is, random), Equation (4.123)
would hold. If all reflections involve the same em-
bedded waveshape [as implied by Eq. (4.103)] and it
is known, then the early part of a reflection can be
used to predict the values that follow. If the reflec-
tion waveshape has the length # and if this wave-
shape is the only predictable element, the autocorre-
lation will have nonzero values between +» and the
autocorrelation spectrum will be the square of the
spectrum of the wavelet. :

If multiples are generated by a reflector associ-
ated with the traveltime m, then the traveltimes of
the multiples can be predicted, which will cause the
trace autocorrelation to have nonzero values for 7 >
m. Predictive deconvolution utilizes these facts. Set-
ting ¢, (7) =0 for 7> n effectively shortens the
waveshape to the length n. Using the values of
$eg(7) for 7> m gives the predictable effect of the
multiples, which can be subtracted from the trace to
produce a result that should be free of the multiples.
This is called gapped deconvolution because the auto-
corrclation values in the gap 7 < m are not involved.

Wavelet processing is a type of deconvolution
that attempts to achieve a short wavelet of symmetri-
cal waveshape, a waveshape that facilitates interpre-
tation. The spectrum of the embedded wavelet can
be found from the spectrum of the trace autocorrela-
tion, as previously indicated. Usually the autocorre-
lations of a number of traces are summed to average
out trace-to-trace noise differences. If the wavelet
phase spectrum can be assumed or determined, then
the embedded wavelet is given by the inverse Fourier
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Figure 4.83. Velocity analysis. (Courtesy Grant-Norpac.) (a) Portion of seismic section.
(b) Velocity analysis of data at right side of {a). (c) Maximum semblance at each record
time. (d) Peak amplitude at each record time.

transform. Once the embedded wavelet is known, an  the higher frequencies as a result of absorption and
operator can be found to replace it with some other  other filtering mechanisms. Hence, time-variant fil-
desired waveshape. tering is used in which the passband moves toward
lower frequencies as record time increases. One
method of achieving time-variant filtering is to us¢
(c) Time-variant filtering. Deeper reflectionshavea  separatc gates (time intervals), for example, shallow
higher percentage of low-frequency energy than shal-  and deep, so that the deconvolution operator varies
low reflections because of the greater attenuation of  with record time (Clarke, 1968).
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Data processing

4.7.7. Velocity Analysis

The variation of normal moveout with velocity and
record time has already been discussed in connection
with Equation (4.52). Several techniques utilize the
variation of normal moveout with record time to find
velocity (Garotta and Michon, 1967; Schneider and
Backus, 1968; Cook and Taner, 1969; Taner and
Koehler, 1969). Most assume a stacking velocity [¥,
in Eq. (4.84)], apply normal-moveout corrections as a
function of arrival time and offset, and then measure
the coherence (degree of match) among all the traces
available to be stacked. Several measures of coher-
ence may be used and they are discussed further in
Section 4.7.13 [Egs. (4.125) and (4.126)). Another
stacking velocity is then assumed and the calcula-
tions repeated, and so on, until the coherence has
been determined as a function of both stacking ve-
locity and arrival time. (Sometimes normal moveout
is the variable rather than stacking velocity.)

A velocity-analysis display is shown in Figure
4.83. This is a good analysis because the data in-
volved are good. Highs on the contour plot corre-
spond to events. The locations of the highs yield the
velocities (or normal moveouts), that optimize the
stack (hence the name stacking velocity for V).
Multiples as well as primaries give rise to peaks and
hence the results have to be interpreted to deter-
mine the best values to be used to stack the data
(Robinson, 1983a). In many areas where the velocity
more-or-less monotonically increases with depth, the
peaks associated with the highest reasonable stacking
velocities are assumed to represent primary reflec-
tions and the peaks associated with lower velocities
are attributed to multiples of various sorts. In other
areas the relationships are not as obvious, and even
where the velocity relationships are generally regular,
difficulties will be encountered.

The major objective of velocity analysis is to
ascertain the amount of normal moveout that should
be removed to maximize the stacking of events that
are considered to be primaries. This does not neces-
sarily optimize the primary-to-multiple energy ratio
and better stacks can be achieved with respect to
identifiable multiples. This is not often done, how-
ever. An auxiliary objective of velocity analysis is
‘itdentifying lithology; this is discussed in Section

10.7.

47.38. Common-Midpoint Stacking

COmmon-nﬁdpoint stacking is probably the most
important application of data processing for improv-
Ing data quality. The principles involved have al-
ready been discussed along with the field procedures
used to acquire the data. The component data are
Sometimes displayed as a gather: a common-midpoint
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gather has the components for the same midpoint
arranged side by side and a common-offset gather
has the components for which the offset is the same
arranged side by side. After correcting for mormal
moveout, the data are stacked into a single output
trace for each midpoint.

If reflectors dip, the reflecting point is not com-
mon for common-midpoint traces and consequently
the stacking result involves smearing and degrada-
tion of data quality. The degradation can be avoided
by migrating before stacking (which is expensive) or
approximately but relatively cheaply by several
methods. Sometimes partial stacks, each of traces
over a limited offset range, are made and migrated to
cut down on the amount of data to be migrated.

Dip-moveout (DMO) processing transforms a set
of prestack common-midpoint gathers so that each
gather contains events from the same reflecting point
(Deregowski, 1986). If the velocity is constant, the
locus for ‘equal traveltimes is an ellipse with the
source and receiver locations as foci; all reflectors,
dipping as well as horizontal, are tangent to such an
ellipse. DMO uses the differences between the mid-
point and the points where perpendiculars to the
ellipse intercept the surface to create common-
reflecting point gathers. These gathers can then be
stacked and migrated without reflecting-point smear.
The constant-velocity assumption provides a reason-
ably satisfactory approximation where velocity varies
vertically.

First-break data and the refraction wavetrains
that follow the first breaks usually are so strong that
they have to be excluded from the stack to avoid
degrading the quality of shallow reflections. This is
done by muting, which involves arbitrarily assigning
zero values to traces during the period when the first
breaks and following wavetrains are arriving. Thus
the multiplicity of a stack increases by steps, with
the shallowest data often being only a twofold stack,
slightly deeper data being a fourfold stack, and so
on, until the full multiplicity of the stack is achieved
after the muted events have passed beyond the most
distant geophones.

4.7.9. Apparent-Velocity
(Apparent-Dip) Filtering

The apparent velocity of an event, ¥, is found by
dividing the distance betwcen two points on the
surface of the ground by the difference in traveltime
for the same event at geophones located at the
points. It is thus the reciprocal of the quantity Ar/Ax
in Equation (4.57):

V,=Ax/At = V/sina (4.129)

where V is the velocity with which a wavefront
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approaches the spread and « is the angle between
the wavefront and the spread. Apparent velocity is
an entirely different quantity from the stacking ve-
locity or the velocity used to convert traveltimes to
reflector depths. A reflection that arrives from verti-
cally beneath the spread has an infinite apparent
velocity (after correction for normal moveout) with-
out regard for the depth of the reflector or the
velocity with which the reficction energy has traveled
in the earth. Apparent velocity generally decreases
for dipping reflectors, becoming smaller as the dip
increases, but usually it is still much larger than
seismic velocities. Horizontally traveling wavetrains
(mainly ground-roll and refractions) bave low appar-
ent velocities compared with reflections and so can
be discriminated against on this basis. This forms the
basis of velocity-filtering methods (Treitel, Shanks,
and Frasier, 1967; Sengbush and Foster, 1968;
Christie, Hughes, and Kennett, 1983). The filtering
can be achieved in the time domain by mixing sig-
pals in such a way that events with certain apparent
velocities are added out of phase and so cancelled.
Filtering can also be done in the (w-x) domain
(Christie, Hughes, and Kennett, 1983) after two-
dimensional Fourier transformation [Eq. (A.57)).
Apparent-velocity filtering is sometimes done before
stacking but usually afterward.

4.7.10. The p-t Transform

The axes of a seismic record (or section) are offset
(location) and traveltime. The same data can also be
represented by a plot of the slope of events p against
the intercept on the time axis r (Diebold and Stoffa,
1981). [For reflections, p is the raypath parameter of
Eq. (4.65)] Whereas the Fourier transform repre-
sents data as a superposition of harmonics, the p-7
plot represents the same data as a superposition of
straight-line events; curved wavefronts become a su-
perposition of plane wavefronts. Straight-line events,
such as the direct wave, headwave events, ground
roll, and air waves, transform into points whereas
hyperbolic reflections become ellipses in the p-7 do-
main. As with other transforms, one can transform
back into the time-space domain without loss of
information except that due to the interpolation
between sampled values and to boundary effects.
Filtering and other operations can be done in the p-r
domain as with apparent-velocity and frequency-
domain processing.

4.7.11. Relative-Amplitude Processing

Most of the information for structural interpretation
is determined from the traveltimes: of events, and it
is desirable to see as many events as possible. This is

Seismic methogs

better achieved by minimizing amplitude dilferenceg
between events, and so scctions for structural ingep
pretation objectives often do not preserve relatiye
amplitude. However, for stratigraphic interpretation
and hydrocarbon indicator purposcs. mainlaim'ng
correct relative trace-to-trace amplitudes for each
event is important. Some amplitude variations, such
as spherical divergence, can be corrected based o
theory. Some, such as absorption and peg-leg multi-
ple effects, vary so slowly that they can be approxi-
mated by gradual exponential amplitude correction,
Some, such as variations,near the source or geo-
phone, can be corrected by a surface-consistent am.
plitude model where the corrections are statistically
determined from the redundancy in data (Taner and
Koehler, 1981). After correcting for as many factors
as possible, remaining amplitude variations are usu-
ally attributed to reflectivity variations. Relative am
plitude data arc somectimes displayed at very low
gain so that only the strongest events are apparent,
these then are considered as possible hydrocarbon
indicators (§4.10.8).

4.7.12. Migration or Imaging

Common-midpoint seismic sections show reflections
(and other) data oriented with respect to midpoints,
that is, with respect to where the equivalent coinci-
dent sources and geophones are located. Our goal,
however, is to locate reflectors and diffracting points
in the subsurface. The process of moving data ele-
ments from midpoint locations to subsurface loca-
tions is called migrarion. 1t is also called imaging
because its objective is to produce a clear image of
the subsurface (Robinson, 1983b; Brower, Douma,
and Helbig, 1985).

Migration implies that the seismic data being
migrated are either primary reflections or diffrac-
tions. Migration of other types of events as if they
were reflections or diffractions smears them out and
creates noise (migration noise). Large local bursts of
energy get smeared into smiles, which have the gen-
eral shape of wavefronts (Fig. 4.84). Almost every
migrated scction shows some smiles, especially deep
in the section and near the cnds of the sections
where noise is high and data are incomplete.

Migration to the correct location requires knowl
edge of the velocity distribution but, in structurally
complex areas where migration is most required,
velocity information is apt to have large uncertainty.
However, migration is fairly tolerant of errors i
vertical variations in velocity so that migration #1
the wrong velocity usually helps to clarify structoré
even though events are not located correctly. Changes
in velocity in the horizontal direction produce distor
tions unless they are allowed for correctly. Migratios-
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that attempts to allow for horizontal velocity changes
is called depth migration (Larner et al., 1981). Itera-
tive ray tracing may be used in complex areas, the
model of velocity and dip values resulting from one
iteration provide the input information for the next
iteration.

Events from off to the side of the line generally
are migrated incompletely because the migration
deals only with the apparent dip in the in-line direc-
tion. Thus diffractions from faults that are not per-
pendicular to the line will collapse only partially.
However, even if some events may be undermi-
grated, interpretation is usually made casier by the
migration.

When velocity varies only with depth (that is, not
laterally), the traveltime curve for a diffraction (dif-
fraction curve) depends only on the velocity above
the diffracting point and the depth of the diffracting
point. (The situation for sources off the line,
diffracted reflections, diffracted refractions, and other
more complicated paths, is more complex.) The en-
ergy diffracted by a point can be found by summing
the energy along the diffraction curve for which that
point is at the apex (Hagedoorn, 1954). If the apex is
not at an actual diffracting point, the values along
the diffraction curve will not be systematic, and
negative and positive values will tend to cancel. It
the section is searched along all possible diffraction
curves and the sums of the energy found along each
is positioned at the crests of the curves, all diffrac-
tions will be migrated correctly. Because the same
physical processes are involved in generating reflec-
tions and diffractions, one can think of a reflector as
many closely spaced diffracting points and a reflec-
tion as the interference composite of their dif-
fractions (Huygens’ principle). Thus if reflection
elements are migrated as if they were diffraction
elements, the reflections will be migrated correctly
(providing the cross-dip is zero). This principle forms
the basis of some computer migration processes
(Kirchhoff migration). A result is shown in Figure
4.84.

The wave equation expresses how waves move in
space and time and can be used to “move waves
backward.” If we assume coincident source and geo-
phone (as a common-midpoint section implies), then
a wave moved backward to where it was at half the
traveltime should be located at the reflector or
diffracting point. This concept forms the basis for
wave-equation methods of migration. The migration
is sometimes done in the time domain using finite
differences to approximate the derivatives in the
wave equation, continuing the wavefield downward

step by step (Berkhout, 1981). It is sometimes solved
in the frequency—wave-number domain after a two-
dimensional Fourier transform {Eq. (A.57)] converts
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the data to the new domain; then the frequency-
domain equivalents of downward continuation are
performed (Chun and Jacewitz, 1981), after which
the data are transformed back to the space-time
domain for display of the migrated results. Some-
times combinations of domains are used or opera-
tions are performed partially in one domain and
partially in another. The results of all types of migra.
tion are conceptually equivalent, but in practice,
weaknesses in one type (mainly because of the ap-
proximations involved) or the case of accommodat-
ing special considerations may favor onc method or
another. More information on migration can be
found in Gardner (1985) and in Claerbout (1985).

4.7.13. Measures of Coherence

Trace-to-trace coherence as defined in Section 4.4.1
can be given a quantitative significance in several
ways. For two traces, one could use the cross-corre-
lation as a measure of coherence. For a large number
of traces, we could make use of the fact that when
we stack several channels together the resulting am-
plitude is generally large where the individual chan-
nels are similar (coherent) so that they stack in-phase
and small where they arc unlike (incoherent). The
ratio of the energy of the stack compared to the sum

of the energies of the individual components would

therefore be a measure of the degree of coherence.

If we let x,, be the amplitude of the individual
channel i at the time ¢, then the amplitude of the
stack at time ¢ will be £,x,; and the square of this
will be the energy. If we call E, the ratio of the
output energy to the sum of the encrgies of the input
traces, we may write

. (Etxu‘)z
E, Zi(x,z, (4.125)
We expect a coherent event to extend over a time
interval; hence a more meaningful quantity than £
is the semblance S, (Neidell and Taner, 1971), which
denotes the ratio of the total energy of the stack of N
traces within a gate of length Ar to N times the sum
of the energy of the component traces within the
same time gate. Using the same terminology as be-

forc we can write.
Z;i‘,“(‘[,,-x,,)z

—

= 4126
S NTRE, (x2) (4129

The semblance will not only tend to be large when 3 4
coherent event is present but the magnitude of the .

semblance is also sensitive to whether or not 2
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exhibit large semblance and weak events will exhibit
moderate values of semblance whereas incoherent
data will have very low semblance.

Semblance and other coherence measures are used
to determine the values of parameters that will opti-
mize a stack. The semblance is calculated for various
combinations of time shifts between the component
channels, and the optimum time shifts are taken to
be those that maximize the semblance. Semblance
therefore can be used to determine static corrections
or normal-moveout corrections.

4.7.14. Other Types of Processing

(a) Diversity stacking. Much data processing is far
less exotic than suggested by the mathematical rela-
tionships expressed in the foregoing pages. Some of
these processes merely involve excluding certain ele-
ments of the data, such as the muting operation,
which has already been discussed.

Diversity stacking is another technique used to
achieve improvement by excluding noise. Records in
high-noise areas, such as in citics, often show bursts
of large amplitude noise whereas other portions of
the records display relatively little noise distortion.
Under such circumstances, amplitude can be used as
a discriminant to determine which portions are to be
excluded. This can take the form of merely excluding
all data where the amplitude exceeds some threshold,
or perhaps some form of inverse weighting might be
used. Such noise bursts often are randomly located
on repeated recordings so that sufficient vertical
stacking after the weighting tends to produce records
relatively free from the high-amplitude noise.

(b) First-break statics. The first arrivals (or first
breaks) on a scismic record are usually a headwave
from the base of the weathered layer for geophones
some distance from the sourcepoint. The first-break
traveltimes are often interpreted by standard refrac-
tion methods to give the thickness and traveltime
through the weathered layer for the purpose of mak-
ing static corrections. The first breaks may be picked
automatically and static time shifts may be calcu-
lated (Hatherly, 1982; Farrell and Euwema, 1984).
This is usually done to give first-order static correc-
tions, and second-order corrections (residual statics)
are made by a surface-consistent program that relies
on cross-correlation between elements of a com-
mon-midpoint gather.

(c) Specialized processing. A variety of other types
of seismic processing arc performed for special pur-
Poses. Attributes (measurements based on seismic
data such as amplitude of the trace envelope, instan-
taneous phase, or instantaneous frequency) are
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sometimes calculated and displayed superimposed
on the seismic data (Taner, Koehler, and Sheriff,
1979). Amplitude data are sometimes converted to
acoustic impedance or synthetic sonic-log forms (the
processing is called inversion) (Lindseth, 1979).
Modeling (§4.10.2) of both stratigraphic and
structural features is done to aid in interpretation
(Hilterman, 1970, 1982).

4.8. BASIC GEOLOGIC CONCEPTS IN
PETROLEUM EXPLORATION

4.8.1. Basic Concepts

Before discussing the objectives of seismic interpre-
tation, we shall review some basic concepts that are
fundamental in petroleum exploration.

Petroleum is the result of the deposition of plant
or animal matter in areas that are slowly subsiding.
These areas are usually in the sea or along its mar-
gins in coastal lagoons or marshes and occasionally
in lakes or inland swamps. Sediments are deposited
along with the organic matter, and the rate of depo-
sition of the sediments must be sufficiently rapid that
at least part of the organic matter is preserved by
burial before being destroyed by decay. As time goes
on and the area continues to sink slowly [because of
the weight of sediments deposited or because of
regional (tectonic) forces], the organic material is
buried deeper and hence is exposed to higher tem-
peratures and pressures. Eventually chemical changes
result in the generation of petroleum, a complex,
highly variable mixture of hydrocarbons, including
both liquids and gases (part of the gas is in solution
because of the high pressure). Ultimately the subsi-
dence will stop and may even reverse.

Sedimentary rocks are porous; porosity is the
fractional volume of the rock occupied by cavities or
pores. Petroleum collects in these cavities and inter-
mingles with the remaining water that was buried
with the sediments. When a significant fraction of
the pores is interconnected so that fluids can pass
through the rock, the rock is permeable. Permeability
permits the gas, oil, and water to separate partially
becausc of their different densities. The oil and gas
tend 1o rise, and they cventually reach the surface of
the earth and are dissipated unless they encounter a
barrier that stops their upward migration. Such a
barrier produces a trap. Figure 4.85 illustrates the
most important types of traps.

The anticline shown in vertical cross section in
Figure 4.85a is a common type of trap and often the
casiest to map. In the diagram, bed A is imperme-
able whereas the reservoir rock B is permeable. Oil
and gas can collect in the reservoir rock of the
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»" anticline until the anticline is filled to the spilf point.
Although the diagram is two-dimensional, similar

- conditions must hold for the third dimension, the
structure forming an inverted bowl. The con-
tour through the spill point, the closing contour
(—2,085 m in Fig. 4.85b), defines the maximum area
of hydrocarbon accumulation.

Figure 4.85¢c shows a fault trap in which perme-
able beds overlain by impermeable beds are faulted
against impermeable beds. A trap exists if there is
also closure parallel to the fault; an example is
shown by the contours in Figure 4.85d. Obviously
faults do not constitute traps if the rocks across the
fault are permeable or if hydrocarbons can percolate
up the fault plane. Pinchouts and unconformities
(Figs. 4.85f and g) provide traps only when the
adjacent rocks are impermeable and there is closure
at right angles to the diagram.

Figure 4.85h shows a limestone reef that grew
upward on a slowly subsiding platform (§4.10.5).
The reef is composed of coral or other marine ani-
mals with calcareous shells, which grow prolifically
under the proper conditions of water temperature
and depth. As the reef subsides, sediments are de-
posited around it. Eventually the reef stops growing,
perhaps because of a change in the water tempera-
ture or the rate of subsidence, and the reef may be
buried. The reef material is usually highly porous
and often covered and surrounded by impermeable
sediments. Hence the reef may form a trap for
petroleum generated in the reef itself or flowing into
it from another bed.

Figure 4.85i represents a salt dome formed when
a mass of salt flows upward under the pressure
resulting from the weight of the overlying sediments.
The salt dome bows up sedimentary beds and seals
off disrupted beds and so provides traps over and
around the sides of the dome.

4.8.2. Objectives of Interpretation

The primary objective of a seismic survey for hydro-
carbons usually is to locate structures such as those
shown in Figure 4.85. However, many structures that
provide excellent traps do not contain oil or gas in
economic quantities. Because drilling wells is very
costly, we try to derive from the seismic data as
much information as possible about the geological
history of the area and about the nature of the rocks
in an effort to form an opinion about the probability
of €ncountering petroleum in the structures that we
map,

Unconformities often show up clearly on seismic
sections, especially on long regional lines that give
Sufficient sense of perspective to allow an interpreter
to distinguish between regional and local features
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and between reasonably consistent geologic informa-
tion and superimposed noise, Unconformities often
indicate changes of eustatic sea level that can be
correlated with specific times in geologic history;
their recognition thus provides information for age-
dating sediments. Patterns in the seismic data some-
times indicate the environment in which the rocks
were deposited. The velocities of rocks are some-
times a clue to their lithology and origin. Drawing
conclusions from these types of observations is an
objective of seismic stratigraphy (§4.10.6).

The velocity, reflectivity, and other properties of a
rock are sometimes altered noticeably because of
changes in the fluid that fills the rock pores. Thus the
effects of hydrocarbon accumulations can sometimes
be seen (§4.10.8).

Seismic methods are also increasingly used for
nonhydrocarbon objectives (Dobecki and Romig,
1985). Water resources are sometimes controlied by
earlier topography or by faulting. Heavy minerals
sometimes accumulate in channels on old topogra-
phy, and minerals may be associated with rock con-
tacts. Faulting that interrupts coal seams affect the
planning of mining operations. In many mining ar-
eas, old mine drifts are not mapped accurately and
knowing their location is essential to avoid cutting
into one that is water-filled. Nuclear waste disposal
requires reasonably detailed knowledge of faults .and
other geologic features. Seismic methods often pro-
vide the cheapest way of mapping such features with
reasonable resolution.

Seismic methods are also used increasingly for
engineering purposes. The integrity of foundation
rocks must be established; cavities in the rocks or
zones of weakness due to faulting or fracturing need
to be known before large structures are constructed.
In planning road cuts and other engineering projects
mvolving earth removal, the cost of excavating de-
pends to a significant degree on rock hardness; this
can be estimated from seismic velocity.

4.9. REFRACTION INTERPRETATION

4.9.1. Interpretation of Refraction Records

The identification of headwave events is usually sim-
pler than for reflection events. Traveltimes are usu-
ally available for a relatively long range of offsets,
and hence it is easy to separate reflections and
diffractions with their curved alignments from the
direct wave, surface waves, and headwaves with their
relatively straight alignments. The direct wave and
surface waves are easily distinguished from head-
waves because of the lower velocities of the former.
Usually the only problem is in identifying the dif-
ferent headwaves when several refractors are present.
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Refraction interpretation

Record sections are especially useful in studying
second arrivals. The refraction record section (also
called a refraction profile) in Figure 4.86 shows the
direct wave as the first arrival near the shotpoint;
refractions from successively decper refractors be-
come the first arrivals as the offset distance increases.
Following the first arrivals, the continuations of vari-
ous events are seen after each has been overtaken by
a deeper event. Numerous other events are also seen
in the zone of second arrivals; most of these are
either refractions that never became first arrivals or
multiply-reflected refractions (see Fig. 4.35b).

The simple equations (4.68) through (4.81) can be
used when the data are easy to interpret and limited
in quantity. Often the chief failure of these equations
(and of most refraction interpretation techniques) is
in the assumption of ¥, the velocity of the section
above the refractor. Most methods assume straight-
line raypaths from the refractor upward to the sur-
face. This is usually not true because the overburden
velocity is rarely constant. The biggest improvement
in the results obtained when using the simple equa-
tions to calculate refractor depths often is the result
of using a more realistic assumption for ¥; based on
‘information other than that obtainable from the
refraction data themselves (Laski, 1973).

Problems sometimes result from a hidden zone, a
layer whose velocity is lower than that of the overly-
ing bed so that it never carries a headwave. Energy
that would approach it at the critical angle cannot
get through the shallower refractors and hence there
is no indication of its presence in the headwave
arrivals. The low velocity of the hidden layer, how-
ever, increases the arrival times of deeper headwaves
relative to what would be observed if the hidden
zone had the same velocity as the overlying bed,
which results in exaggeration of the depths of deeper
refractors. Another situation, which is also referred
to at times as a “hidden zone,” is that of a layer
whose velocity is higher than those of the overlying
beds but that never produces first arrivals despite
this because the layer is too thin and/or its velocity
is not sufficiently greater than those of the overlying
beds. Such a bed creates a second arrival but the
second arrival may not be recognized as a distinct
event,

Refraction interpretation often is based solely on
first arrivals, primarily because this permits accurate
determination of the traveltimes. When we use sec-
ond arrivals we usually have to pick a later cycle in
the wavetrain and estimate traveltime from the mea-
sured time. However, velocities based on second
a‘-ﬂ‘l'Va]s will be accurate, and much useful informa-
tion is available through their study.

. Several additional considerations affect refraction
Interpretation. Refraction traveltimes are corrected
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to datum in the same manner as reflection travel-
times. There is one difference, however: Travelpaths
above the refractor are inclined and so the datum
should be near the surface to minimize the effects of
the inclined paths on the corrections and the effec-
tive shotpoint-geophone distance.

If enough data are available, interpretational am-
biguities often can be resolved. However, in an effort
to keep survey costs down, only the minimum amount
of data may bc obtained (or less than the minimum),
and some of the checks that increase certainty and
remove ambiguities may not be possible.

4.9.2. Refraction Interpretation Methods

Three types of approach are made to refraction
interpretation:

1. Application of Equations (4.68) to (4.81).
2. Delay-time methods.
3. Wavefront reconstruction methods.

Simple multiple-layer equations are generaliza-
tions of Equations (4.69), (4.75), and-(4.76). These
equations generally demand that the refractors be
nearly planar over the area being studied, that is, the
refractor relief can be ignored in calculations of
depth, dip, and velocity.

Refraction interpretation often involves “strip-
ping,” which is in effect the removal of one layer at a
time. In this method the problem is solved for the
first refractor, after which the portions of the
time-distance curve for the deeper refractors are
adjusted to give the result that would have been
obtained if the shotpoint and geophones had been
located on the first refracting horizon. The adjust-
ment consists of subtracting the traveltimes along
the slant paths from shotpoint down to the refractor
and up from the refractor to the geophones, and also
decreasing the offsets by the components of the slant
paths parallel to the refractor. The new time-dis-
tance curve is now solved for the second refracting
layer after which this layer can be stripped off’ and
the process continued for deeper refractors.

4.9.3. Delay-Time Methods

(a) General. The concept of delay time, introduced
by Gardner (1939), is widely used in routine re-
fraction intepretation, mainly because the various
schemes based on the use of dclay times are less
susceptible to the difficulties encountered when we
attempt to use Equations (4.69) to (4.81) with refrac-
tors that are curved or irregular. Assuming that the
refraction times have been corrected for elevation
and weathering, the delay time 8 associated with the
path SMNG in Figure 4.87 is the observed refraction

JEV—
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Figure 4.88. Determining sourcepoint and geophone delay times.

time at G, #,. minus the time required for the wave
to travel from P to Q (the projection of the path on
the refractor) at the velocity ¥,. Writing & for the
delay time, we have

8=tg——%

SM+NG MN\ PQ
=—71_+_V7)~—V§

SM + NG PM + NQ
R )_( Z )

SM PM NG NQ
(-5
-5+8, (4.127)

where 8, and §, are known as the shotpoint delay
time and the geophone delay time because they are
associated with the portions of the path down from
the shot and up to the geophone.

An approximate value of & can be found by
assuming that the dip is small cnough that PO is
approximately equal to the geophone offset x. In this
case,

x
8=5+§ = g-?z (4.128)

Provided the dip is less than about 10°, this relation
is sufficiently accurate for most purposes. If we sub-
stitute the value of 7, obtained from Ecuations (4.70),
(4.75), and (4.76), we see that & is equal to the

intercept time for a horizontal refractor but not for a
dipping refractor.

Delay-time methods are subject to certain crrors
that must be guarded against. As the shotpoint to
geophone distance increases, the refraction wavetrain
becomes longer and encrgy peak shifts to later cy-
cles. There is thus the danger that different cycles
will be picked on different profiles and that the crror
will be interpreted as an increase in shot delay time.
If sufficient data are available, the error is usually
obvious. Variations in refractor velocity manifest
themselves in local divergences of the offset total-
delay-time curves for pairs of reversed profiles. How-
ever, if some data that do not represent refraction
travel in the refractor under consideration arc acci-
dentally included, the appearance is apt t0 be the
same as if the refractor velocity were varying. In
situations where several refractors that have nearly
the same velocities are present, unambiguous inter-
pretation may not be possible.

Many interpretation schemes using delay time
have becn given in the literature, for example,
Gardner (1939, 1967), Barthelmes (1946), Tarrant
(1956), Wyrobek (1956), and Barry (1967). We shall
describe only the latter two. The method described
by Wyrobek is suitable for unreversed profiles
whereas that of Barry works best with reversed pro-
files.

(b) Barry’s method. The scheme described by
Barry, like many based on delay times, requires that
we resolve the total delay time & into its component
parts 8, and 8. In Figure 4.88 we show a geophont

timeiq
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Distance (ft x 10%)

Time (s)
w
3

3-60

Traveltimes

840 =8 + 8yp
Sr = Son + Opp
AS = 8AQ = 84

wo — Opr

For the shot at B, the shot delay time Spy s
approximately equal to dyo provided the dip is
small. In this case,

Spr = Spn + Spp = aNQ + 8pp

The geophone delay times are now given by

(4.129)

Sno = 5(845 + A8)}
Spp = %(8311 - 4%)

~ Thus, it is possible to find the geophone delay
ime at R provided we have data from two shots on

the same side and we can find point Q. If we assume
that the bed is horizontal at N and is at a depth z,,

N\ /5

(iv)

Time (s)
, Step (i)

210, &
3 206 ~ul . 24 E @
o 210 Declay times T ——— = 2
E 214f_ = 218 &
F 28 —
Offset delay times —
Average ofTset delay time é E
g8
Depth »An
(ft) _
o 098 & 098 ~
2 1oz %00 ___ﬂ’ s Ml g g
E 106 o oooo— b g 10000106 E o
E .o 1000 Outline of refractor A -8 o = 2
Figure 4.89. The delay-time method of interpreting reversed profiles. (After Barry, 1967.)
R for which data are recorded from shots at 4 and  we have
B. The ray BN is reflected at the critical angle, and Vidpn
" S il 130)
hence Q is the first geophone to record the head- N cos @ (4
wave from B. Let §,,, be the shotpoint delay time 0r
for shot A, 8yy and 8, the geophone delay times BQ = 2zy tanf,
for geophones at Q and R, and 840 and 8, the tan 0,
total delay times for the paths AMNQ and AMPR. R Py
Then
= 2V,8,y tan? 6, (4.131)

The shot delay time 8, is assumed to be equal to
half the intercept time at B; this allows us to calcu-
late an approximate value of BQ and thus determine
the delay times for all geophones to the right of Q
for which data from A and B were recorded.

The interpretation involves the following steps,
which are illustrated in Figure 4.89:
®
(i)

The corrected traveltimes are plotted.

The total delay times are calculated and plotted
at the geophone positions.

The geophone offset distances (PP’ in Fig. 4.88)
are calculated using Equation (4.131), and, as-
suming PP’ = 3 BQ. the delay times in (ii) are
shifted toward the shotpoint by these amounts.
The shifted curves in (iii) for the reversed pro-
files should be parallel. Any divergence is due to
an incorrect value of V,, hence the value of v,
is adjusted and steps (ii) and (iii) are repeated
until the curves are parallel (with practice only
one adjustment is usually necessary).

The total delay times are separated into shot-
point and geophone delay times; the latter are
plotted at the points of entry and emergence

(iii)

)
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Step (i)
(traveltimes)
—
/__ I
) Pl L, Step (1)
- (total delay times)
—
Composite delay-time
curve

N

Step (iii)
(half-intercept times)

|

Step (iv)
(depth)

figure 4.90. Wyrobek's method using unreversed profiles. (After Wyrobek, 1956).

from the refractor (S and 7T in Fig. 4.88). The
delay-time scale can be converted into depth if
required using Equations (4.130) with 8, in
place of 8zy.

(c) Wyrobek’s method. To illustrate Wyrobek's
method we assumce a series of unreversed profiles as
in the upper part of Figure 4.90. The various steps in
the interpretation are as follows:

(i) The corrected traveltimes are plotted and the
intercept times measured.

The total delay time 8 is calculated for each
geophone position for each shot and the values
are plotted at the geophonc position (if neces-
sary, a value of ¥, is assumed). By moving the
various segments up or down, a composite curve
similar to a phantom horizon is obtained.

(iii) The intercept times divided by 2 are plotted and
compared with the composite delay-time curve.
Divergence between the two curves indicates an
incorrect value of V, (see below); hence the
value used in step (ii) is varied until the two
curves are *parallel,” after which the half-intcr-
cept time curve is completed by interpolation
and extrapolation to cover the same range as the
composite delay-time curve.

The half-intercept time curve is changed to a
depth curve by using Equation (4.70), namely,

(i)

(iv)

z = 3iVt,/cost,

(Note that we are ignoring the difference between the
vertical depth z and the slant depths z, and z; in
Fig. 4.33))

Wyrobek’s method depends on the fact that the
curve of 8 is approximately parallel to the half-inter-
cept time curve (see problem 15). Wyrobek’s method
docs not require reversed profiles because the inter-
cept at a shotpoint does not depend on the dircction
in which the cable is laid out.

4.9.4. Wavefront Methods

(a) General. Wavefront reconstruction, usually by
graphical means, forms the basis of scveral refraction
interpretation techniques. The classic paper is one by
Thornburgh (1930); other important articles are those
by Gardner (1949), Baumgarte (1955). Hales (1958).
Hagedoorn (1959). Rockwell (1967), and Schenck
(1967).

Figure 4.91 iflustrates the basic method of recon-
structing wavefronts. The refraction wavefront that
reached A at 1= 1.600 s reached B, C,... at the
times 1.600 + Az, 1.600 + Ar,,... . By drawing arcs
with centers B, C,... and radii VAt ViAL,..... we
can establish the wavefront for 1 = 1.600 s (AZ) 8
accurately as we wish. Similarly, other refraction
wavefronts, such as that shown for 1 = 1.400 s, can
be constructed at any desired traveltime interval.
The direct wavefronts from the shot S are of courst
the circles shown in the diagram.
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Figure 4.92. First-arrival wavefronts. Coincident-time curves are dotted. (After Thorn-

burgh, 1930,

In Figure 4.92 we show a series of wavefronts
chosen so that only waves that will be first arrivals
are shown (all secondary arrivals have been elimi-
nated in the interest of simplicity). Between the
shotpoint § and the crossover point C [Eq. (4.71)]
the direct wave arrives first. To the right of C, the
wave refracted at the first horizon arrives first until,
to the right of G, the refraction from the deeper
horizon overtakes the shallower refraction.

The two systems of wavefronts representing the
direct wave and the refracted wave from the shallow
horizon, intersect along the dotted line ABC. This
line, called the coincident-time line by Thornburgh,
Passes through the points where the intersecting
Wwavefronts have the same traveltimes. The curve
DEFG is a coincident-time curve for the deeper
horizon. The coincident-time curves are tangent to
the refractors at 4 and D where the incident ray
reaches the critical angle (see problem 16) whereas
the points at which the coincident-time curves meet

e

e
%

the surface are marked by abrupt changes in the
slopes of the time-distance plot.

Since the coincident-time curve is tangent to the
refractor, the latter can be found when we have one
profile plus other data - such as the dip, depth, criti-
cal angle-or a second profile (not necessarily re-
versed) because we now have two coincident-time
curves and the refractor is the common tangent to
the curves.

When reversed profiles are available, the con-
struction of wavefronts provides an elegant method
of locating the refractor. The basic principle is illus-
trated in Figure 4.93, which shows two wavefronts,
MCD and PCE, from shots at 4 and B intersecting
at an intermediate point C. Obviously the sum of the
two traveltimes from 4 and B to C is equal to the
reciprocal time between A and B, t,. If we had
reconstructed the two wavefronts from the time-dis-
tance curve without knowing where the refractor RS
was located, we would draw the wavefronts as MCN

o
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RN

2
‘minus’ value=1, — 104 <

Figure 4.94. The plus— minus method. (After Hagedoorn, 1959.)

and PCQ. not MCD and PCE. Therefore, if we
draw pairs of wavefronts from 4 and B such that
the sum of the traveltimes is ¢,, the refractor must
pass through the points of intersection of the appro-
priate pairs of wavefronts in Figure 493

(b) Plus— minus method. The plus—minus method,
devised by Hagedoorn (1959), utilizes a construction
similar to that just described. When the refractor is
horizontal, the intersecting wavefronts drawn at in-
tervals of A ms form diamond-shaped figures (Fig.
4.94) whose horizontal and vertical diagonals are
equal to ¥;A and V;A/cos 6, respectively. If we add
together the two traveltimes at each intersection and
subtract 1, the resulting “plus” values cqual 0 on
the refractor, +2A on the horizontal line through the
first set of intersections vertically above those defin-
ing the refractor, +4A on the next line up, and so
on. Because the distance between each pair of adja-
cent lines is ¥,A/cos ., we can use any of the plus
lines to plot the refractor. The difference between

two traveltimes at an intcrsection is called the
“minus” value; it is constant along vertical lines
passing through the intersections of wavefronts. The
distance between successive minus lines as shown in
Figure 4.94 is V,A; hence a continuous check on ¥,
is possible. Although dip alters the preceding rela-
tions, the changes are small for moderate dip, and
the assumption is made that the plus lincs are still
parallel to the refractor and the minus lines do not
converge or diverge.

4.9.5. Engineering Applications

Refraction methods are commonly applied in mif
eral-exploration and civil-engineering work to med
sure depth of bedrock. With the arrangement shown
in Figure 4.95, shots are fired from the end points 0
the spread, 4 and B, and the midpoint C. (The
“shot” is usually a hammer blow for shallow over
burden or a blasting cap for deeper.) Let 145 be the
surface-to-surface traveltime from A to B, a0
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Figure 4.95. Refraction profile for determining depth to bedrock.

forth. Then (see problem 17)

(’c,q +lcp — typ 42 (4132)

N ) (7 -v)”
where ¥, is the overburden and V¥, is the bedrock
velocity. Frequently ¥, >> ¥, and we can replace the
velocity terms by V}:

ze = 3Vltca +tcp = 143)  (4133)
The error in z. is less than 6% if ¥, > 3V,. This
method assumes that the overburden is essentially
homogeneous, the depth variation is smooth, the dip
is small, and the velocity contrast is so large that the
perpendicular distance to bedrock is roughly equal
to the vertical distance. Depth’ calculations by this
technique are generally good because they depend on
the measurement of only one velocity, ¥,, and three
traveltimes.

4.10. REFLECTION INTERPRETATION

4.10.1. Interpretation Techniques

(a) Mapping reflecting horizons. Reflections are
usually identified with bedding planes based on cor-
relations with observations in borcholes, velocity in-
formation, synthetic seismograms (§4.10.2), or previ-
ous experience in the arca.

The horizons that we draw on seismic sections
provide us with two-dimensional pictures only. A
three-dimensional picture is necessary to determine
whether closure exists, the area within the closing
contour, the location of the highest point on the
Structure, and so on. To obtain three-dimensional
information, we usually shoot a number of lines, and
most reflection surveys are carried out along a more-
or-less rectangular grid of lines. '

Horizons are first mapped on cross sections and
the sections are compared at line intersections to
identify the same horizons on all lines; identification
i made on the basis of character and traveltimes.
The horizons are carried along all lines in the
Prospect area to the extent that the quality of the
data permit.

When a horizon is carried all the way around a
closed loop, we should end up with the same travel-
time with which we started. This closing of loops
provides an important check on reliability. When a
loop fails to close within a reasonable error (which
depends mainly on the record quality and the accu-
racy of the statics corrections), the cause of the
misclosure should be investigated carefully. Migrated
sections have to be tied by finding the same reflec-
tion on intersecting sections. Such tie points will be
displaced from the vertical through the sourcepoint
by the amount of the migration on each of the lines.
Often misclosure is due 1o an error in correlating
from line to line, possibly because of inaccurate
corrections, change in reflection character, or error in
correlating across faults. When the dip is different on
the two sides of a fault or the throw varies along the
fault, an incorrect correlation across the fault may
result in misclosures (but not necessarily). After the
sources of misclosure have been carefully cxamined
and the final misclosure reduced to an acceptable
level, the remaining misclosure is distributed around
the loop.

After horizons have been carried on the sections,
maps are prepared. For example, we might map a
shallow horizon, an intermediate horizon at roughly
the depth at which we expect to encounter oil if any
is present, and a deep horizon. We map on a base
map, which shows the locations of the scismic lines
(usually by means of small circles representing
sourcepoints) plus other features, such as oil wells,
rivers, shorelines, roads, land and political bound-
aries, and.so on. Values representing the depth of the
horizon below the datum plane are placed on the
map ( posted), usually at each sourcepoint. Other
information relevant to the horizon being mapped
(depths in wells, locations of gravity anomalies, rele-
vant geologic information, etc.) is also posted. Faults
that have been identified on the records or cross
sections are drawn on the map and depth values are
then contoured.

Isopach maps, which show the thickness of sedi-
ments between two horizons, are uscful in studying
structural growth. They can be prepared by overlay-
ing maps of the two horizons and subtracting the
contour values wherever the contours on one map
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cross the contours on the other. The differences are
recorded on a blank map and then contoured. If the
contours show a trend toward increased thickness in
a certain direction, it may suggest that the region
was tilted downward in this direction during the
period of deposition or that the source of the sedi-
ments is in this direction. Uniform thickness of a
folded bed indicates that the folding came after the
deposition whereas if the thickness increases away
from the crest of an anticline, deposition probably
was contemporaneous with the growth of the struc-
ture. Growth during deposition is usually more fa-
vorable for petroleum accumulation because it is
more likely for reservoir sands to be deposited on the
flanks of structures with even slight relief.

(b) Structural style. Structural traps, such as anti-
clines and fault traps, and structural leads (possibili-
ties of traps that require more work to define them
completely) are usually evident from examination of
the maps. Traps resulting from pinchouts and un-
conformities are more difficult to recognize and
nonseismic evidence often must be combined with
seismic data to define such features. Nevertheless,
careful study of the maps, sections, and records plus
broad cxperience and ample imagination may dis-
close variations of dip or other effects that help
locate traps of these types.

The orientation and type of structural features
depend on the stress fields to which they have been
subjected. The underlying system of structure is
called structural or tectonic style. The structural
style of an area provides a guide for interpreting
what otherwise might be ambiguous definition of
structural features, especially where data are scarce.
For example, if a well-defined fault is seen on one
horizon but is not clear on other horizons, it might
not be evident whether the fault movement was
normal, reverse, or strike-slip and what the attitude
of the fault plane is. However, the structural style, if
known, helps to decide the most probable type of
faulting, fault plane dip and orientation, and so on.
Examples of structural style in seismic data are shown
in Bally (1983-4).

(c) Working out geological history. Alfter the
structural information has been extracted, the next
step is to work out as much as possible of the
geological history of the arca. Fundamental in this
connection is the determination of the ages of the
different horizons, preferably according to the geo-
logical time scale, but at least relative to one another.
Often seismic lines pass close enough to wells to
permit correlating the seismic horizons with geologi-
cal horizons in the wells. Refraction velocities (if
available) may help to identify certain horizons. Un-
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conformities associated with major time gaps are apt
to be among the most prominent reflectors. Occa.
sionally a particular reflection has a distinctive char.
acter that persists over large areas. permitting ident;.
fication not only of it but also of other events by
their relation to it. Notable examples of persisten
identifiable reflections arc the low-frequency refice.
tions sometimes associated with massive basement
and the prominent reflection from the top of the
Ellenburger. a limestone encountered in Northern
Texas.

The unraveling of the peological history of the
area is important in answering questions such as;
(a) Was the trap formed prior to, during, or subse-
quent to the generation of the oil and gas? (b) Has
the trap been tilted sufficiently to allow trapped oil
1o escape? (c¢) Did displacement of part of a structure
by faulting occur before or after possible emplace.
ment of oil? Whereas the seismic data rarcly give
unambiguous answers 1o such questions, often clues
can be obtained that, when combincd with other
information, such as surface geology and well data,
permit the interpreter to make intelligent guesses
that improve the probability of finding oil. Alertness
to such clues is the “art” of seismic interpretation
and often the distinction between an “oil finder” and
a routine interpreter.

(d) Drawing conclusions from reflection data
Deducing geological significance from the aggregate
of many minor observations not only tests the inge-
nuity of an interpreter, it also tests his in-depth
understanding of physical principles. For example.
downdip thinning of reflection intervals might result
from a normal increase of velocity with depth as well
as from thinning of the sediments, and flow of salt or
shale may cause illusory structure on deeper hori
zons. Geometric focusing produced by reflector cur-

vature can produce various effects, especially if the

migration is not correct, and encrgy that comes from
a source located off to onc side of the line can

interfere with the patterns of other reflection events

to produce cffects that might be intcrpreted erro-
neously unless their true nature is recognized. Im-
proper processing likewise can create opportunities
for misinterpreting data (Tucker and Yorsten, 1973).
When the interpretation is finally completed, 3
report is usually prepared, often both for submission
in writing and for oral presentation. In some ways
this is the most difficult and most important task of
the interpreter. He must present his findings in s

a way that the appropriate course of action is de- ;
fined as clearly as possible. The important aspects

should not be obscured by presenting a mass @
details nor should thcy be distorted by prcsentlﬂB;
carefully sclected but non:cpresentative maps ant
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sections. Evidence to support significant conclusions
should be given. Alternate interpretations should be
presented and an estimate given of the reliability of
the results and conclusions. Finally the interpreter
should recommend what further action should be
undertaken.

Good references on seismic interpretation in-
clude Sherifl and Geldart (1983), Bally (1983-4),
McQuillin, Bacon, and Barclay (1984), Badley (1985),
and Gries and Dyer (1985).

4.10.2. Modeling: Synthetic Seismograms

(a) General. The effects of passage through a se-
quence of layers with given velocities and densities
is expressed by ¢, (Eq. (4.103)), in effect a list of
the traveltimes and reflection coefficients for each
reflecting interface. The embedded wavelet,
k8, *s,% p #n, in Equation (4.103), can be used
along with e, to calculate a synthetic seismogram,
that is, what the recorded waveform should theoreti-
cally be. A wave is assumed to impinge on the first
interface  where its energy is partitioned among
transmitted and reflected waves. Each of these waves
i5 then followed as it travels to other interfaces
where additional waves are generated, and so on.
The resulting seismic record is simply the superposi-
tion of those waves that are ultimately observed at
the recording station. Because Snell’s law determines
raypaths and Zoeppritz’s equations determine energy
relationships, the problem is completely determined
and the solution is straightforward if we know the
spatial distribution of the elastic properties and den-
sities. However, actually solving the problem is a
formidable task, even for modern computers, be-
cause of the tremendous number of waves generated
for a realistic sequence of layers; thus, simplifica-
tions must be made.

(b) Normal incidence synthetic seismograms. Of-
ten horizontal bedding is assumed and only the
raypath normal to the reflecting interfaces is tracked.
Density variations are frequently ignored or assumed
to have a definite relation to velocity so that the
reflection and transmission coeflicients can be based
on velocity changes only. Often small velocity varia-
tions are ignored and only the major contrasts are
considered. or else the small changes are lumped
together into larger steps. Often multiples, especially
short-path multiples, are ignored.

In many areas the synthetic seismogram is a
feasonable approximation to actual seismic records
and is therefore uscful in correlating reflection events
with particular horizons. Comparison of the actual
and synthetic scismograms may also help to deter-
mine which events represent primary reflections and
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which represent multiples. Figure 4.96a shows a sonic
log plotted to a time scale (rather than the usual
depth scale) and Figure 4.96b shows the synthetic
seismogram that would result, assuming a certain
initial wave shape and neglecting multiples and
changes in density. Figure 4.96c is a ficld recording
made in the same area; some events, such as B, D,
and J, correlate well with synthetic events but else-
where the correlation ranges from fair to poor. Fig-
ure 4.96d differs from Figure 4.96b in that simple
multiples are included; the principal differences are
the appcarance of a strong multiple at K and con-
siderable reduction in the amplitude of F, presum-
ably because of interference with multiples. This
synthetic seismogram was made without shallow in-
formation; sonic logs are often not run in the upper
part of a borehole, and consequently many of the
most important effects cannot be modeled correctly.

A sonic log and a synthetic seismogram fail to
have a one-to-one correspondence not only because
of the approximations made in the calculation, but
also because the seismic wavelengths are so much
longer than the distances over which the acoustic
propertics can be assumed to be constant that the
actual seismic waveform is the interference compos-
ite of many small events, and because the sonic log
used to calculate the refiectivity is also subject to
errors.

An important use of synthetic seismograms is in
studying the effect of changes in the layering on the
seismic record. One might, for example, assume that
a shale passes laterally into a sand and determine
how such a change would affect events on the record,
possibly altering the number of legs in a reflection
event or changing some other characteristic. This
might then provide a clue in looking for ancient
stream channels or other features of interest. Syn-
thetic seismograms are important in indicating the
features that may help to identify stratigraphic traps.

(c) Two-dimensional synthetic seismograms. A
serics of one-dimensional synthetic seismograms are
often made where the model is modified slightly for
successive traces in order to simulate stratigraphic or
structural changes along a seismic line, and the result
is displayed as a two-dimensional synthetic section.
A true two-dimensional section to simulate unmi-
grated seismic data would show dipping features in
different locations and diffractions. Such synthetic
seismograms are sometimes made using a wave-the-
ory algorithm according to the scalar wave equation
(which docs not allow for mode conversion).

(d) Raypath modeling. Where the structure and Jor
horizontal velocity variations are complicated, itera-
tive ray tracing through a model may be used to
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Depth (ft) Velocity (ft/s)
0000,

(b)

(d)

REFLECTING
HORIZONS

Figure 4.97. Ray-trace modeling of a CMP section. Rays perpendicular to reflectors are
bent according to Snell’s law as they pass through intervening interfaces. (From Taner,
Cook, and Neidell, 1970.) (a), (b}, (c) Tracing three reflectors for a North Sea model;

(b)/ (c) are the top/base of a salt layer. (d) The predicted CMP section. (e) Ray tracing
to determine stacking velocity values.
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Figure 4.98. Section across a thrust fault in the Oregon Basin, part of the Big Horn Basin
of Wyoming. (After Stone, 1985.) (a} Seismic section.

determine a model that is compatible with the seis-
mic observations. The usual assumption is that re-
flections mark the boundaries between layers, each
of which has constant velocity. The procedure often
is to first map a shallow reflector, assuming a later-
ally constant velocity function. One then maps the
reflection that marks the second interface, between
layers 2 and 3, by tracing rays obeying Snell's law at
the first interface. The interface and raypaths are
varied iteratively so that the model time section
matches the actual time section for each successive
interface. The process is repeated at each interface.
Examples of ray-trace modcling are shown in Fig-
ures 4.97 and 4.98.

Irregularities on one interface will distort stacking
velocity measurements for deeper reflections, and a

further check on ray-trace modeling is provided by
matching the model stacking-velocity calculations
with those observed (Fig. 4.97e).

4.10.3. Evidence of Faulting

Ideally reflection events terminate sharply as the
point of reflection reaches the fault plane and re-
sume again in displaced positions on the other side
of the fault, the reflections having sufficicntly distinc-
tive character that the portions on opposite sides of
the fault can be recognized and the fault throw
determined. In practice, diffractions usually prolong
events so that the location of the fault plane is not
clearly evident, although occasionally it is possible t0
observe sharp terminations. Sometimes the same f€-
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figure 4.98. (Continued) (b} Ray tracing through a depth mode! (depths in kft 10°).

fiection can be identified unequivocally on opposite
sides of the fault, but in the majority of cases we can
make only tentative correlations.

The two record sections in Figure 4.99 join at
their north and west ends at right angles. On the
N-S section, the reflection band, which consists of
four strong “legs” (cycles) marked =, can be readily
correlated across the normal fault, which is down-
thrown to the south by about 65 ms at 1.6 s. At a
velocity of 2.300 m /s, this represents a vertical throw
of about 75 m. The event near 2.3 s (marked x)
indicates a throw of about 120 ms. At a velocity of
3,000 m/s, this represents 180 m of throw so that the
fault appears to be growing rapidly with depth.
Although the evidence suggests that the fault is a
simple break in the shallow section, at greater depths
there seems to be a fault zone or a subsidiary fault
(shown dashed in the figure). If the deeper correla-
tions across the fault(s) are correct, the downthrown
event Q at 3.5 s is found around 29 s on the
upthrown side, and assuming a velocity of 3,500 m/s
at this depth, we get a vertical throw of 1,000 m.

The correlation across the fault for the shallow
event is based on reflection character; for the deeper
event, it is based on intervals between strong reflec-
tions, systematic growth of throw with depth, and
time ties around loops. Sometimes the displacement
f>f an unconformity or other recognizable feature will
indicate the amount of throw. Often, however. the

throw cannot be determined clearly from the seismic
data.

The component of fault-plane dip in Figure 4.99a
is around 53° [using Eq. (4.56)). A fault that is nearly
straight on a depth section (a record section whose
vertical scale is linear in depth) is concave upward
on a tme section (whose vertical scale is linear in
traveltime for a vertically traveling wave) because of
the increase in velocity with depth. If the fault
surface is actually concave upward (the usual situa-
tion), the curvature will be accentuated on a time
section.

The fault has not completely died out by the
north end of the line, and hence the fault should
appear on the intersecting line (Fig. 4.99b). As picked
on the E-W scction, the fault offsets the event 3 at
1.6 s by only about 30 m, which indicates that the
fault is dying out rapidly toward the cast. The fault
plane has nearly as much dip in the E-W section, o
the strike of the fault near the intersection of the two
lines is NE and the fault plane dips about 60° to the
southeast. The apparent dip on sections is always
less than the true dip. Fault indications are not
evident below 2.0 s on the E-W section, so the fault
appears to have died out at depth.

Several diffractions can be seen along the fault
trace in Figure 4.99a between 1.9 and 2.5 s, and
changes in the reflection dip arc seen on both sides
of the fault trace; these are common evidences of
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Figure 4.98. (Continued) (c) Seismic section predicted from the model.

faulting. Another feature that is often observed (but
which is not clearly evident on these sections) is
distortion of events whose raypaths passed through
the fault plane and experienced bending at the fault
plane. The effect is often accompanied by deteriora-
tion in data quality that sometimes is so great that
reflections may be almost entirely absent beneath the
fault, which causes a shadow zone. Occasionally the
fault plane itself generates a reflection, but unless
the data are migrated it may not be clear that the
fault-plane reflection is associated with the fault.
The normal fault in Figure 4.99 is the most com-
mon type of fault encountered; it is associated with

extension. The fault in Figure 4.98 is a thrust fault,
which is produced by compression. Figure 4100 -

shows three successive thrusts buried beneath the .

plain of the Po River. Folding associated with the |
faulting provides traps for scveral oil fields.

?

4.10.4. Fold and Flow Structures

When subjected to stresses, rocks may fault, foid, 0("
flow, depending on the magnitude and duration :
the stresses, the strength of the rocks, the natur¢ ,
adjacent rocks, and so forth. The folding of 0%
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(a) N- S section. (b} E- W section.

into anticlines and domes provides many of the traps
in which oil and gas are found.

Figure 4.101 shows a migrated seismic section
across an anticline. Some portions, such as A, that
are composcd of the more competent rocks (for
example limestones and consolidated sandstones),
tend to maintain their thickness as they fold. Other
portions, such as B, that contain less competent
rocks (often shales and evaporites), tend to flow and
slip along the bedding, resulting in marked varia-
tions in thickness within short distances. Geometry
Places limits on the amount of folding that is possi-
ble and folded structures almost always involve
faulljng. Note at C how a fault is involved with the
folding, Arching places sediments under tension so
that often they break along normal faults and pro-
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Figure 4.99. Intersecting sections showing faulting. (Courtesy Geophysical Service Inc.)

duce graben-type features on the top. Anticlinal cur-
vature tends to make seismic reflections weaker as
well as increase the likelihood of faulting and flow,
so that data quality commonly deteriorates over anti-
clines.

Salt flow often produces anticlines and domes. In
many parts of the world thick salt deposits have
been buried fairly rapidly beneath relatively uncon-
solidated sediments. The sediments compact with
depth and so increase their density, whereas the salt
density remains nearly constant. Thus, below some
critical depth the salt is less dense than the overlying
sediments. Salt behaves like a very viscous fluid
under sufficient pressure, and buoyancy may result
in the salt flowing upward to form a salt dome,
arching the overlying sediments and sometimes
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Figure 4.101, Migrated section across a faulted anticline in the San foaquin Valley of
California. The main anticline is associated with a nearly vertical reverse fault. (Courtesy

Texaco.)

piercing through them. Grabens and radial normal
faults (whose throw decreases away from the dome)
often result from such arching of the overlying sedi-
ments, thus relieving the stretching that accompanies
the arching. Salt domes tend to form along zones of
weakness in the sediments.

Figure 4.102 exhibits several portions of a seismic
line in the North Sea. The horizontal scale has been
compressed so as to display a long linc on a short
section, which produces considerable vertical exag-
geration. This line shows deep salt swells that have
not pierced through the overlying sediments (Fig.
4.102a), salt that has pierced through some of the
sedimentary section (Fig. 4.102b). and also salt that
has pierced all the way to the sea fioor (Fig. 4.102c).
The reflection from the base of the salt is generally
continuous and unbroken, but distortions produced
by the variable salt thickness above it at times inter-
rupt this reflection. Because the salt velocity is greater
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than that of the adjacent sediments, the base of the
salt event appears to be pulled up where the salt is
thicker. In other areas where the salt velocity is lower 4
than that of the surrounding sediments, flat reflectors 3
beneath the salt may appear to be depressed where
the overlying salt is thicker. e |
Shallow salt domes are apt to be so evident that 3
they can scarcely be misidentified. Because of the g
large impedance contrast, the top of the salt dome
(or the cap rock on top of the dome) is often 2 strong
reflector. Steep dips may be scen in the sediments
adjacent to the salt dome as a result of these sed{
ments having been dragged up with the salt as it
flowed upward. The salt itself is devoid of primary,’
reflections, although multiples may obscure this fe2
ture. Defining the flank of a salt dome precisely 53
often economically important but seismically
cult. Hydrocarbons may be accumulated in 2 narro¥
belt adjacent to the flank of the dome, but becal




_——— o —

b s
41'“ I \}?{Z&&}‘/ Sg%”»z@? ;

0t Y
AT
A} B S ey

AN :

i/ A
g - A
Y y 2}, < S
g D [x b F1OK) H
4 IR £ u, b e
2y V0B e
y A3 A GO 1Y) SN,
(S ViYL s
J {14 4
" y [ ! v N ?f j‘;‘
p { MiTg }l * Y
| /! A1, i,~ MY %
AT, ¢ oy,
(I

. {{\ ‘\.\ S
altfx i ") ' A 3
i . |

7

‘ ( LRI RIS

‘At?\ \% i Yo
} RSN IR
/ '/ /j/{;/(' s\_:- //,-‘:}"

7 ’4///”/61 7 g1, J{' '
e

(Courtesy Grant-Norpac.) (2) Deep salt swell. (b) Saltdome that has pierced

Figure 4.102. Portions of horizontally compressed sections in the North Sea.
some of the sediments. (c) Saltdome that has pierced to the sea floor.
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Reflection interpretation

the flank is usually nearly vertical, it rarely gives rise
to a recognizable reflection. Fortunately the velocity
distribution is often only slightly affected by the
growth of the dome (except for the velocity in the
salt and the cap rock) so that the steep dips of the
sediments adjacent to the flanks can be migrated
fairly accurately and the flank outlined by the termi-
nations of these reflections. Nevertheless, there re-
mains much art and experience in defining salt-dome
flanks.

Three salt domes can be seen in Figure 4.103. The
salt in a salt dome generally has come from the
immediately surrounding region. The removal of the
salt from under the sediments around the dome has
thus allowed them to subside, which produces a rim
syncline. Local thickening of portions of the section
in the withdrawal synclines indicates when the salt
was moving out from underneath and can be used to
date the salt movement. Withdrawal synclines, which
show fairly clearly in Figure 4.103, also help to
provide closure in ncighboring areas where the sedi-
ments continue to be supported by the residual salt.

Occasionally shale or other substances also form
flow structures that rcsemble salt domes. Overpres-
sured shale is an especially common diapiric mate-
rial. The water laid down with clays (or shales) needs
to escape as the clay comes under greater pressure
because of additional rock deposited on top of them,
but the very low permeability may prevent such
escape. In this situation, the interstitial fluids become
overpressured, the shale loses its shear strength, and
it behaves like a viscous liquid. Often the instability
that results produces growth faulting with shale mov-
ing from undemeath the downthrown side of the
fault and up on the upthrown side. Overpressured
shale is often found on the upthrown side of normal
faults in young sediments; it usually shows as a zone
relatively devoid of reflections, and it can be con-
fused with the shadow zone that is often seen be-
cause of the erratic bending of raypaths as they pass
through the fault.

4.10.5. Reefs

The term “reef” as used by petroleum geologists
comprises a wide variety of types, including both
extensive barrier reefs that cover large areas and
small isolated pinnacle reefs. It includes carbonate
Structures built directly by organisms and aggregates
comprising limestone and other related carbonate
rocks, as well as banks of interstratified carbonate
(and sometimes also noncarbonate) sediments. Reef
dimensions range from a few tens of meters to
§cvera] kilometers; large reefs are tens of kilometers
in length, a few kilometers wide, and 200 to 400 m or
More in vertical extent. Because reefs vary so widely,
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the evidence for reefs shown by seismic data is
extremely varied.
We shall describe a model reef so that we may
develop the general criteria by which reefs can be
recognized in seismic data, keeping in mind that
deviations from the model may result in large varia-
tions from these criteria. Our model reef develops in
a tectonically quiet area characterized by flat-lying
bedding that is more-or-less uniform over a large
area. The uniformity of the section makes it possibl