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ABSTRACT

By observing simultaneous changes in the concentration and 13C/12C ratio of dissolved
inorganic carbon (DIC) in seawater over the annual carbon cycle it is possible to distinguish
physical and biological processes that govern this cycle in near-surface waters. We report
an analysis of monthly data from 1983 through 1989 at Station S in the surface mixed layer
of the Sargasso Sea near Bermuda. The analysis also makes use of contemporary
measurements of - alkalinity, the calculated CO, partial pressure in seawater, and
measurements of atmospheric CO, concentration and 13C/12C ratio from which the net flux
of CO, across the air-sea boundary was calculated as a function of wind-speed for each
isotopic species. Limited additional chemical measurements in deeper water and physical
oceanographic data afforded estimates of the seasonally varying upward flux of each
isotopic species of DIC into the mixed layer by vertical diffusion and entrainment. Net
community production (the net transfer of carbon from inorganic to organic pools) was
estimated for the mixed layer from the observed change in the 13C/12C ratio of DIC after
corrections were applied for air-sea exchange and vertical transport and using the fact of a
strong fractionation of 13C during the photosynthetic uptake of DIC. As a second method,
and to check our first approach, net community production was also calculated simply by
difference from the observed change in DIC, after also taking into account air-sea exchange
and vertical transport. Thus, both these estimates are obtained without reference to nutrient
fluxes or concentrations of organic matter. We deduce that 11 gC m-2 yr-! of DIC is lost on
average as a result of a net community production of 19 gC m-2 during shoaling of the mixed
layer in spring and summer and a reversed net transfer from organic to inorganic of
8 gC m2 during deepening. Air-sea exchange adds 21 gC m2 yr-! of CO, to the mixed layer
and vertical transport a further 18 gC m2 yr-! of DIC. The sum of all fluxes is thus a net
apparent gain of 28 gC m-2, which is nearly balanced by an apparent loss term associated
with the variable mixed-layer depth. We have assessed the uncertainties in our calculations
by sensitivity tests. Our estimate of the annual air-sea exchange lies between previously
published estimates based on atmospheric modeling studies. When, on the basis of limited
observational evidence we include approximately 7 gC m2? yr! of net community
production below the mixed layer, the resulting tentative estimate of net community
production in the entire euphotic layer is 18 gC m-2 yrl. This estimate is comparable to
those of net export of organic matter based on sediment traps and on water-column
inventories, but considerably lower than estimates of euphotic new production based on
measurements of oxygen and of noble gases and on other modeling studies for Station S.
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1. INTRODUCTION

Physical and biogeochemical processes act together in controlling the carbon balance
in the upper ocean. The international oceanic sciences community recently made
remarkable progress toward establishing details of this marine carbon cycle based on results
from the ongoing Joint Global Ocean Flux Study time series stations in the subtropical North
Atlantic (Bermuda Atlantic Time-series Study, near Bermuda) and the subtropical North
Pacific (Hawaii Ocean Time-Series, near Hawaii) (Michaels et al. 1994a, Michaels et al.
1994b, Winn et al. 1994, Karl and Lucas 1996, Michaels and Knap 1996). However,
underlying problems, such as the extent of biological production and of nutrient supply to
near-surface waters, are not yet solved for major oligotrophic oceanic regions in mid- and
low-latitudes (Lewis et al. 1986, Jenkins 1988, Altabet 1989a, Villareal, Altabet, and Culver-
Rymsza 1993, Hayward 1994, Michaels et al. 1994a, Bates, Michaels, and Knap 1996).
Further uncertainties include the magnitude of the contributions of air-sea exchange and
transport processes to the observed temporal and spatial inorganic carbon distribution
(Michaels et al. 1994b, Toggweiler 1994, Bates, Michaels, and Knap 1996).

‘We address these issues here by interpreting a series of inorganic carbon measurements
made at Station S near Bermuda over a six-year period from 1983 to 1989. These
measurements, mainly confined to near-surface waters, yield a representation of the seasonal
cycle of carbon in the mixed layer of the western Sargasso Sea in greater detail than
previously possible. Both dissolved inorganic carbon (DIC) and titration alkalinity (TA)
were determined, thus permitting dissolved CO,, and hence the CO, partial pressure
(pCO,,.), to be calculated from thermodynamic relations. In addition the stable isotopic
ratio, 13C/12C, of DIC was measured. Because carbon isotopes fractionate during
photosynthesis, variations in this ratio in DIC are sensitive to the interconversion of DIC and
organic carbon. Thus 13C/12C data permit an estimate to be made of the net community
production of organic matter in the mixed layer without recourse to less direct approaches,
which depend on the association of the oceanic carbon cycle with the seasonal cycling of
nutrients and dissolved oxygen.

To establish the seasonal cycling of carbon from our data we have developed a spatial
model focusing on the budget of inorganic carbon in the mixed layer, which is regarded as
a vertically homogeneous compartment in contact with the atmosphere above and the waters
of the thermocline below. We consider the rates of carbon species change in this
compartment, and the inferred fluxes of carbon in and out of this compartment. We take into
account physical variables, including temperature, salinity, and wind speed, to estimate
these fluxes. To test our results we make use of sensitivity tests and a comparison with
predictions for the Sargasso Sea provided by a global three-dimensional carbon transport
model, which takes into account large-scale lateral transport not directly detectable in our
study at a single geographic point. Because our observational data for the vertical gradient
in 13C/12C below the mixed layer cannot be proven to be representative, we also use this
model as an aid in estimating this gradient.

As we will demonstrate,13C/12C data offer a promising approach to characterizing the
oceanic carbon cycle. This approach would have produced even more valuable insight if
monthly measurements could have been made throughout the upper water column, but such
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an expanded program was not feasible. Here we explore the value of including such isotopic
data generally in the study of the oceanic carbon cycle.

Even though this document should be regarded as only a preliminary assessment of the
seasonal cycle of carbon, it may provide a useful complement to studies focused more
directly on organic processes, rather than on inorganic carbon. The inorganic carbon cycle
should be fully characterized to establish the relative importance of oceanic and terrestrial
processes in regulating the abundance of carbon in the principal reservoirs of the global
carbon cycle; it should also be better understood as a complement to any complete
understanding of organic processes in the ocean.

This bulletin is organized as follows. In the next two sections we review knowledge
of the carbon cycle in the surface oceans. We include a short general discussion on the use
of concurrent measurements of DIC and its isotopic ratio to constrain carbon budgets.
Readers familiar with these topics may skip these two sections and go directly to Section 4,
where we describe the seasonal observations obtained at Station S. These observations form
the input to a seasonal box model, explained in Sections 5 and 6. Then in Sections 7 and 8§,
we discuss our findings and compare them with previous estimates of biological production
near Bermuda and with predictions from a three-dimensional carbon transport model as
noted earlier. We present our conclusions in Section 9. Details of the model formulation
and its application are placed in a series of appendices.



2. PROCESSES CONTROLLING THE CARBON
BALANCE IN THE UPPER OCEAN |

2.1 INTRODUCTION

We begin by discussing the processes of both biological and physicochemical origin
that influence the balance of DIC in the upper ocean with special emphasis on their effects
on the stable isotopic ratio of DIC, expressed by the reduced ratio:

13§ = r-r , (1
r
where r denotes the 13C/12C ratio of the sample and r, the 13C/12C ratio of the belemnite
carbonate standard, PDB. Because the values of 138 are small, they are expressed in per mil
(%0). Here and subsequently, DIC denotes the analytical sum of all inorganic dissolved
carbon species, i.e. [CO,lyy + [H,CO;3] + [HCO;7] + [CO427] and all chemical ligands of
these species with other anions and cations (SCOPE 1981).

2.2 BIOLOGICAL PROCESSES

Within the ocean’s near-surface layer, organic matter is formed by photosynthesis of
phytoplankton, whereby nutrients are taken up and oxygen is released. This sunlit
“euphotic” layer, which generally extends to the 1% light level (Valiela 1984, 40, Morel
1988), constitutes approximately the upper 100 m of the water column near Bermuda
(Menzel and Ryther 1960, 365, Marra et al. 1992).

The chemical formulation of photosynthesis and respiration is often summarized by
the following simplified equation (Redfield, Ketchum, and Richards 1963):

106 CO, + 16 NO;™ + HPO,2" + 122 H,O + 18 H+ =

(2)
(Cro6H2630110N16P) + 138 Oy,

where the expression in the bracket is an empirical formula for organic matter. The
stoichiometric ratio of carbon uptake to oxygen release during photosynthesis (0,/CO,),
often called photosynthetic quotient (PQ), is about 1.3 according to this formula. This
photosynthetic quotient is not constant, however, and may vary between 1.0 and 1.4
(Williams and Robertson 1991) depending on the source of nitrogen (Laws 1991) and other
processes (e.g. photorespiration [Burris 1981]).

In the euphotic layer during photosynthesis, the lighter isotope, 12C, is preferentially
taken up compared with the heavier isotope 13C. This results in a low 138 value for the
organic carbon in phytoplankton (between -20 and -30%. [Degens 1969, Goericke and Fry
1994]) compared to surface water DIC (0 to 2% [Kroopnick 1985]). The photosynthezising
organisms return a fraction of the fixed organic carbon to CO, by autotrophic respiration.
Grazing of the phytoplankton by zooplankton and subsequent heterotrophic respiration
define another pathway from organic matter back to DIC. Upon the death of these
planktonic organisms, the resulting detrital organic pool is remineralized to DIC mainly by
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heterotrophic bacteria. Additional dissolved organic carbon, released to the water during
growth and feeding, is similarly remineralized (Baines and Pace 1991, Longhurst 1991).
Little or no isotopic fractionation occurs during the processes of grazing, respiration, and
remineralization (Deuser, Degens, and Guillard 1968, 657). Even in the case of the
respiration by phytoplankton, in which 12CO, may be preferentially released over 13CO,
(Degens et al. 1968, 8), the fractionation effect is believed to be small (O’Leary 1981, 560).

Part of the organic matter formed by photosynthesis is exported out of the euphotic
layer via sinking of large particles (Martin et al. 1987). Some of the remainder is exported
by diffusion and advection of dissolved organic matter (Bacastow and Maier-Reimer 1991,
Najjar, Sarmiento, and Toggweiler 1992, Carlson, Ducklow, and Michaels 1994) and by
vertical migration of zooplankton (Longhurst 1991). In the subsurface layers organic matter
from the mixed layer is subsequently remineralized again mainly by heterotrophic
organisms. '

To denote aspects of the production of organic matter and its subsequent cycling
through the euphotic food web layer, we adopt the carbon-based terminology of Williams
(1993). Gross primary production, P, denotes the organic carbon produced by the chemical
reduction of carbon as a consequence of the photosynthetic process during some specific
period of time. Net primary production, P,,, denotes gross primary production minus the
losses in carbon caused by autotrophic respiration, R, during the same time period, i.e.;

P,=P,-R,. (2a)
Finally, net community production, P,., denotes gross primary production minus all losses
in carbon from respiration, including heterotrophic respiration, R,, i.e.;

P,.=P,-R,-R;. (2b)

In pelagic ecosystems, net primary production is further distinguished as regenerative
when the production is supported by nutrients derived locally within the euphotic layer, or
new, if the nutrients are supplied from outside (Dugdale and Goering 1967). Eppley and
Peterson (1979) assumed that new production is supplied by nitrate or fixed atmospheric
molecular nitrogen, whereas regenerated production is based on reduced nitrogen
compounds, mainly ammonia derived from the excretion of animals and from the
metabolism of heterotrophic microorganisms. The ratio of new production to net primary
production we will call the “f-ratio” following Eppley and Peterson (1979). Assuming a
quasi steady state over the annual cycle, new production can be equated both to net
community production (Platt et al. 1989, Laws 1991) and to the export of organic matter out
of this layer (Martin et al. 1987).

Typically, estimates of biological production have been obtained by following, in vitro,
the uptake of radioactively labeled carbon or the production of oxygen. Two problems with
this technique arise. First, the effect of bottle confinement on the phytoplankton population
is uncertain (Bender et al. 1987) and second, obtaining seasonal production estimates is
difficult because of possible undetected intermittent production (Jenkins and Goldman 1985,
Wiggert, Dickey, and Granata 1994). Attempts to overcome the limitations of in vitro
determinations have been made by comparing results with observations of mesoscale
changes in dissolved oxygen (Jenkins and Goldman 1985, Musgrave, Chou, and Jenkins
1988, Thomas, Garcon, and Minster 1990, Thomas et al. 1993, Emerson et al. 1993) and in
dissolved inorganic carbon (DIC) (Oudot 1989, Karl, Tilbrook, and Tien 1991, Chipman,
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Marra, and Takahashi 1993, Robertson and Watson 1993, Bates, Michaels, and Knap 1996).
In comparison to techniques in vitro, which yield estimates of gross or net primary
production (Williams et al. 1983), this mesoscale approach allows estimates of net
community production to be made (Robertson and Watson 1993).

The study of variations in concentration of dissolved oxygen is an imperfect substitute
for estimating biological production because this estimate is heavily dependent on the
photosynthetic quotient chosen for the conversion from units of oxygen to units of carbon.
This limitation does not exist in studies in which observed mesoscale changes of DIC are
used to make estimates of production. But usually, in these latter studies, net community
production has been estimated by the difference from the observed changes after corrections
have been applied for gas exchange at the air-sea boundary, vertical diffusion, and biogenic
formation of carbonate particles. The uncertainty in estimation of net community
production is, therefore, directly proportional to the combined uncertainties of the other
processes considered. An independent check on the consistency of the results would be
desirable to reduce this uncertainty, but until now has not been provided.

Sediment traps have been used extensively to infer the export of particulate organic
matter from the overlying water (e.g. Martin et al. 1987, Altabet 1989a,b; Karl, Tilbrook,
and Tien 1991, Michaels and Knap 1996). If steady-state conditions prevail, the export of
total organic matter should be equal to net community production (Laws 1991). However,
interpretation of sediment trap measurements is difficult because of sampling problems
associated with hydrodynamic biases, interference by swimmers, and loss of dissolved
organic carbon (DOC) from the high density solution used to preserve the particulate
organic carbon (Karl and Knauer 1989, Michaels et al. 1994b, Buesseler et al. 1994).
Furthermore, sediment traps measure only the export of particulate organic carbon (POC),
not taking into account the possible export of organic carbon by vertical migration of
zooplankton (Longhurst 1991) or by diffusion and advection of dissolved organic carbon
(Najjar, Sarmiento, and Toggweiler 1992, Carlson, Ducklow, and Michaels 1994).

Biological removal or regeneration of carbon can occur, however, as a result of
photosynthesis, respiration, and remineralization, and as a result of calcium carbonate
uptake by producing calcitic or aragonitic organism hard parts. Although this latter process
has been shown to contribute significantly to the surface carbon cycle during the spring
bloom in the northeast Atlantic (Robertson et al. 1994), it is generally unimportant in the
Sargasso Sea near Bermuda (Brown and Yoder 1994, Bates, Michaels, and Knap 1996).

2.3 AIR-SEA EXCHANGE

Gaseous CO, is transferred across the air-sea interface whenever the pressure of
atmospheric CO, above the surface differs from the gas pressure exerted by dissolved CO,
in the water at the sea surface. Because of the dependency of the solubility of CO, in
seawater on temperature and salt content (Weiss 1974), this latter “partial pressure,” as it is
called, reflects not only changes in the dissolved carbon in the water, but also changes in
temperature and salinity. A kinetic fractionation occurs during air-sea gas exchange
involving the diffusion of CO, across the air-sea boundary layer. This kinetic effect is
imposed on a temperature-dependent equilibrium fractionation between the gas and liquid
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phases (Heimann and Keeling 1989). The latter fractionation process promotes lower 138
values for atmospheric CO, in comparison to the 138 of DIC. The 13§ difference between air
and sea is further influenced by the Suess effect (cf. Heimann and Keeling [1989, 264]) in
which the release of CO, from fossil fuel, with a 135 of around -27%o (Tans 1981, 128) has
led to a drop of 135 of atmospheric CO, over the last century from -6.4%o (Friedli et al. 1986)
to around -7.7%o (Keeling et al. 1989, 186). Therefore, CO, entering the ocean from the
atmosphere has a significantly more negative isotopic signature than in preindustrial times
(Quay, Tilbrook, and Wong 1992, Tans, Berry, and Keeling 1993, Bacastow et al. 1996).

2.4 MIXED-LAYER DYNAMICS AND VERTICAL TRANSPORT

Close to the surface of the ocean, convective processes and input of turbulent kinetic
energy by wind stress sustain a mixed layer with almost uniform vertical profiles of
temperature and chemical properties. The depth of this mixed layer varies on time scales
from days to seasons according to the variability in the driving processes; it rarely
corresponds to the depth of the euphotic layer. Therefore the concentration of DIC and other
chemical properties is likely to vary vertically in the euphotic layer, whenever it is deeper
than the mixed layer. During times of deepening, the mixed layer incorporates water from
below with different physical and chemical properties, a process we call entrainment
(Phillips 1977). Consequently, heat, momentum, salt, and other chemical constituents are
transferred across the lower boundary of the mixed layer at a rate proportional to the rate of
deepening, and to the gradient just below this boundary. In contrast, during shoaling of the

-mixed-layer depth no such transport occurs.

Vertical turbulent diffusion also transports heat and chemical constituents across the
lower boundary. This turbulent flux is classically formulated by analogy to molecular
diffusion. The two processes of entrainment and vertical diffusion are difficult to distinguish
experimentally, although they are clearly separated conceptually. The fluxes of DIC caused by
entrainment and vertical diffusion are not accompanied by isotopic fractionation because both
processes, being turbulent, do not discriminate at the molecular scale.

Viewing the ocean on a regional or global scale, the vertical gradient of DIC below the
mixed layer is affected by remineralization of the exported organic matter (the soft tissue
pump), the buildup of anthropogenic CO, (the Suess effect), and the temperature-dependent
solubility of CO, (the solubility pump). Although not further addressed in this study, it is
also affected by the formation and dissolution of carbonate particles (carbonate pump) (Volk
and Hoffert 1985). As a result, the concentration of DIC in the subsurface ocean usually
increases with depth (Takahashi, Broecker, and Bainbridge 1981), thereby promoting an
upward flux by eddy diffusion and by entrainment into the mixed layer. The organic and
solubility pumps produce a decrease in 13C/12C ratio with depth. This decrease is mainly a
result of respiration and of remineralization of organic matter with a lower 13C/12C ratio than
DIC at the sea surface. The buildup of fossil fuel CO, with a lower 13C/12C ratio (Suess
effect) and temperature-dependent fractionation, promoting a generally higher ratio below
the mixed layer, partially counteract the gradients produced by respiration and
remineralization. Thus entrainment and turbulent diffusion transport DIC into the mixed
layer with a lesser isotopic signature than that of organic carbon, even though these dynamic
processes, by themselves, do not fractionate the isotopes of carbon.
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2.5 LATERAL TRANSPORT

Lateral transport, although more difficult to detect than air-sea exchange and vertical
transport, also is likely to contribute significantly to the local budget of DIC (Michaels et al.
1994b, Toggweiler 1994). This can be demonstrated by the finding that broad regions of the
oceans are persistent sources or sinks of atmospheric CO, not accounted for by the buildup
of CO, from fossil fuel combustion (Tans, Fung, and Takahashi 1990). These regions can
only be in balance locally when a net gain or loss of CO, by air-sea exchange is
compensated for with lateral transport by ocean currents (Winn et al. 1994). As in the case
of entrainment and vertical diffusion, no isotopic fractionation is involved, but gradients
produced by other processes cause isotopic effects.

2.6 THE SEASONAL CYCLE NEAR BERMUDA

In the euphotic layer near Bermuda a strong seasonal cycle develops every year as a result
of deep convective mixing of the waters in late winter followed by shoaling of the mixed
layer and the development of a strong summer thermocline (Menzel and Ryther 1960,
Jenkins and Goldman 1985; 468; Michaels et al. 1994a). The cycle can be thought to begin
each spring when influxes of DIC and nitrate, by convective and wind-driven mixing,
produce maximum concentrations of these chemicals near the ocean surface. The
availability of nitrate, coupled with a shoaling mixed layer caused by increased irradiance
and reduced wind stress, leads to favorable conditions for phytoplankton growth. This
results in a moderate diatom-dominated spring bloom (Menzel and Rhyther 1960, Siegel et
al. 1990, Malone, Pike, and Conley 1993, Michaels et al. 1994a). Usually nitrate is
exhausted after a time and further supplies of nutrients are effectively cut off by a strong
summer thermocline. The ecosystem then is presumed to run predominantly on regenerated
nitrogen (Malone, Pike, and Conley 1993). Thus changes in magnitude and type of
biological production are driven mainly by variability in vertical transport (Siegel et al.
1990). Near the end of summer, surface cooling and stronger winds cause the mixed layer
to deepen more or less gradually through the autumn and winter, until the maximum depth
is reached in late winter. Because this maximum depth and the coupled vertical transport of
nitrate vary considerably from year to year, interannual variability of biological production
near Bermuda is common (Menzel and Ryther 1961, Michaels et al. 1994a, Michaels and
Knap 1996).
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. 3. CONSTRAINING CARBON BUDGETS BY
CONCURRENT MEASUREMENTS OF DIC AND 133

To demonstrate how concurrent measurements of DIC and its isotopic ratio 138
constrain carbon budgets we now develop the following budget equations to be used in our
later analysis.

Let ADIC and A138 denote the changes in DIC and 138, respectively, in a constant
volume of water over a time-interval A¢, which begins at -1 and ends at t. Expressing these
changes as sums of changes, ADIC; and Al39;, owing to j separately identified processes
i=1..:

j
ADIC EDIC, - DICt-l = EADIC,, (3)
A13§ = 135, - 135, 4

To connect the overall isotopic change, Al38 with the individual isotopic changes, A133;, we
note that when samples or pools of carbon are mixed, the product of 133 and carbon mass is
nearly an additive function (Mook et al. 1983). More specifically, if 133;, 135,, . . ., denote
the reduced isotopic ratios of a series of carbon pools, N;, containing N}, N, . . ., moles of
carbon respectively, then the mixture obtained by combining the pools has very nearly the
133 value

b _ N8 + N,°8,+..., ) 2N,
M N+ N,+ ..., N,

&)

Applying this additivity rule to our time-step calculation yields the additional equation:

DIC,,138,, + SADIC;135,= (DIC, , + ADIC)(135, | + A133), (6)

where 2.N; is equal to (DIC, | + ADIC), and 133, is equal to (A139, | + A133). Provided that
the changes ADIC and A138 have been measured, it is possible from equations (3) and (4) to
compute the changes in concentration and isotopic ratio of any one process i given
independent knowledge of the changes owing to the other j - 1 processes. Equation (6)
provides yet another constraint, which is the basis for an independent estimate of biological
exchange.
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4. SEASONAL OBSERVATIONS

The data utilized in this seasonal study are derived from water samples collected at
Station S near the northern edge of the Sargasso Sea. Station S is located at 32° 10" N, 64°
30" W, about 21 km southeast of Bermuda within the recirculation region of the North
Atlantic anticyclonic subtropical gyre (Worthington 1976, 93). It has been occupied about
every two to four weeks over the last 40 years (Jenkins and Goldman 1985, 467). Surface
water normally flows into the area from the northeast (Worthington 1976). Horizontal
velocities are small, however, according to observations (Michaels and Knap 1996) and
modeling studies (Sarmiento and Bryan 1982, Bacastow and Maier-Reimer 1991).

Beginning in 1983, our measurements of dissolved inorganic carbon (DIC), titration
alkalinity (TA), and the 13C/12C isotopic ratio of DIC, have augmented the standard
observations of temperature, salinity, nutrients, and dissolved oxygen at Station S at depths
of 1 m and 10 m. These additional measurements, including measurements of nitrate and
phosphate, were made on samples of water obtained from approximately monthly
hydrographic casts and returned to our laboratory for analysis. They pertain to the surface
mixed layer, which almost always extended below the collection depth of the samples
employed in this study. The full data set used in this study (years 1983 to 1989) is listed
numerically in Tables A.1 and A.2. The methods and precisions of the analyses are
described by T. J. Lueker et al. (A twelve year record of inorganic carbon variations in
surface ocean water near Bermuda, submitted to Global Biogeochemical Cycles, 1997
[hereinafter referred to as Lueker et al., submitted manuscript, 1997]). A partial summary
of the data has already been presented by C. D. Keeling (1993), in which Fig. 5 was
mislabeled. It should have read mol C m-2 day-!.

We have calculated the partial pressure of CO, in the mixed layer (pCO,,.) from
observations of temperature, salinity, DIC, and TA, using the dissociation constants for
carbonic acids established by Dickson and Millero (1987) and the iterative procedure of
Bacastow (1981). We reduced all pCO,,. data by 10 ppm in order to agree closely with
direct measurements of pCO,,. with gas equilibrators during an intercalibration cruise in the
Sargasso Sea in 1987 (Lueker et al. submitted manuscript 1997). This correction is within
the uncertainties associated with the use of a particular set of dissociation constants for the
calculation of pCO,,. (Millero et al. 1993).

From data supplied by A. Knap (personal communication) we have estimated the
location of the base of the surface mixed layer at the time of each hydrographic cast as the
depth, which differs by a density difference, AG,, of 0.125 kg m-3 (Levitus 1982) from the
surface density. We verified that our estimates are reasonable by comparing them visually
with plots of density versus depth.

The average seasonal cycles of the principle quantities of our study from 1983 through
1989 are presented in Figures 1 to 5. Plotted are near-surface water temperature, 7., mixed-
layer depth, MLD, DIC normalized to the observed average salinity of 36.452 (on practical
salinity scale), sDIC, the stable isotopic ratio of DIC, 133,,, and near-surface CO, partial
pressure, pCO,,.. All of the cycles shown were obtained by compositing the time series of
each parameter into a one year sequence without regard for interannual variability.
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Harmonic functions, also plotted, were derived from the same data by least square fits, as
described below. Also shown in Figure 5 is a harmonic function for the CO, partial pressure
in the atmosphere, pCO,,,,,, estimated for the Bermuda area from measurements at La Jolla,
California (Keeling et al. 1989). These data exhibit approximately the same seasonal cycle
as air near Bermuda (WMO/WDCGG 1992).

Sea-surface temperature (Figure 1) varies from 19°C in March to 28°C in August. This
9°C range is one of the largest found anywhere in the world oceans (Pickard and Emery
1982, 40). In contrast, salinity (not shown, for data see Table A.1) reveals only a small
irregular seasonal cycle with slightly higher values in winter than in summer. The thickness
of the mixed layer shows a large seasonal variation (Figure 2). A very shallow layer is
normally found from May through September, during the time of high isolation. After
September the layer gradually deepens as a result of convection and of intensified mixing
induced by stronger winds. A maximum depth, depicted by the harmonic function as being
about 160 m, is found during February, near the time when the surface water is coldest. As
the time of maximum depth approaches, the thickness of the mixed layer becomes highly
variable because the intermittent convective processes act on a weak density gradient near
the base of the layer. Beginning in early spring the layer shoals, but the transition from a
deep water layer to a shallow one is highly erratic.

Salinity-normalized inorganic carbon, sDIC, (Figure 3) and the reduced isotopic ratio,
133, (Figure 4), show distinct seasonal cycles about averages of 2030 pmol kg-! and
1.53%o, respectively. To aid in the comparison of these two parameters, the plotted isotopic
data are inverted, so that higher values on plots of both sDIC and 13§, reflect the addition
to the DIC pool of organic carbon with a low isotopic ratio. Maxima in sDIC and in negative
133, both occur in spring, nearly coincident with lowest temperatures and greatest mixed-
layer depth. As the mixed layer subsequently shoals, sDIC and negative 135, decrease until
both reach minima around October. In contrast, titration alkalinity, normalized to a salinity
of 36.452, (not plotted) shows no appreciable seasonality around an average of
2380 MEq kg-l, during the analysis period.

The seasonal cycle of pCO,,,. (Figure 5) depends strongly on variations in temperature
and DIC, but only weakly on salinity and titration alkalinity because of small seasonal
variability of the latter two. From December to April high DIC and correlated low
temperatures have opposing influences on pCO,,,, causing it to be nearly constant (see also
C. D. Keeling 1993). The winter average of pCO,,. is approximately 50 ppm below
pCOy,ms also plotted in Figure 5, indicating that the waters near Bermuda are a sink for
atmospheric CO, during this season. In May a sharp increase in temperature, only partially
offset by decreasing DIC, causes pCO,,. to rise, exceeding atmospheric levels by early
summer. A maximum approximately 40 ppm above pCO,,,,, occurs in July, earlier than the
temperature maximum because the effect of increasing temperature later in the season is
overridden by decreasing DIC. Beginning in September, cooling reinforces the decrease of
pCO,,. caused by decreasing DIC, until the flat winter minimum again is reached.

Concentrations of the inorganic nutrients, nitrate and phosphate, are low throughout
the year, with highest values in winter or early spring (Michaels et al. 1994a). Nitrate
concentrations average about 0.05 pmol kg-! and phosphate about 0.04 pmol kg1, only
slightly above the detection level. Submixed layer data are presented by Lueker et al.
(Submitted manuscript 1997).

12



5. HARMONIC FITTING

A harmonic function,
H =k2_:1[ak sin ( 21kt ) + bycos ( 27kt )] + H, @)

was fitted by the method of least squares through the composited data of temperature, T,
sDIC, 133, pCO,,,., and mixed-layer depth, MLD, as a function of time of the year. In
equation (7), a, b}, and H, represent constants that differ for each parameter while ¢ denotes
the time expressed in years. Harmonics with periods of 12 months and 6 months (m = 2)
were used, except for MLD for which a 4 month harmonic (m = 3) was also included in the
fit. The obtained parameters of all fits, including the coefficient of variation, R, are shown

in Table 1. The constant term, H,, defines the annual average for the specified parameter.

Isotopic data show considerable scatter, much of which reflects occasions when the
data at 1 m and 10 m are not in good agreement. To reduce the influence of this scatter, data
that differ between these depths by more than 0.05%c on the same date were excluded from
the fit, even though these data may reflect real differences, for example caused by short-term
inhomogeneity in the mixed layer. This criterion of exclusion, which is approximately the
minimum error expected from sampling and analysis in measuring the isotopic ratio of
atmospheric CO, (Mook et al. 1983), led to the removal of about 15% of the data prior to
fitting.

13
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6. DESCRIPTION OF THE SEASONAL MODEL

6.1 OUTLINE OF THE MODEL

We have chosen a three-box model, presented schematically in Figure 6, to represent
the seasonal cycle of carbon in the ocean near Bermuda. The middle box represents the
mixed layer (ml) which lies in direct contact with the air-sea interface. It is overlain by an
atmospheric box (atm) and directly underlain by a box representing the water in the
“submixed layer” (Ib, for “layer below”). The upper- and lower-most boxes are of
indeterminate size. They are involved in the model only to establish boundary conditions
for the mixed layer. The boundary between the two oceanic boxes moves up and down as
specified by the harmonic function that prescribes the mixed-layer depth. Each oceanic box
contains, in addition to the chemical pool of DIC, the carbon in organic matter. The
concentration of DIC normalized to constant salinity, sDIC, is assumed to be homogeneous
within the mixed layer and to be linearly increasing with depth immediately below in the
submixed layer. The organic carbon pools of the mixed and submixed layers do not
distinguish between dissolved and particulate phases (DOC and POC, respectively); they are
considered only with respect to their influence on DIC.

In the model, we have identified four processes in the mixed layer that affect sDIC:

(1) Air-sea exchange of CO, that transfers carbon between the atmosphere and the
ocean;

(2) transport of carbon from below by vertical turbulent diffusion;

(3) vertical entrainment of water and its content of DIC from below into the mixed layer
whenever this layer deepens;

(4) net exchange of carbon within the mixed layer between the pools of DIC and organic
matter caused by photosynthesis, respiration, grazing, and remineralization. When
we refer to model results, this net exchange will be called “net biological exchange
flux” or simply the “biological flux.” It is equivalent to net community production,
as defined in Section 2, above.

We have not taken into account possible formation of CaCO; by organisms. There was no
indication that this process is quantitatively important to average seasonal changes in DIC
near Bermuda based on the small seasonal variations seen in the alkalinity data (Bates,
Michaels, and Knap 1996).

We also have not included air injection by bubble formation of breaking waves in the
model, because buffering of the carbon system in seawater causes this process to be
unimportant for CO,, although it should be considered in determining the concentrations of
oxygen and the noble gases dissolved in seawater (see Spitzer and Jenkins 1989,
R. F. Keeling 1993).

We assume that part of the organic matter produced in the mixed layer is transferred
to the layer below. Most of this material is subsequently remineralized to DIC and partly
transferred back into the mixed layer by vertical diffusion and entrainment. Organic carbon
transfers are not modeled explicitly, but are assumed to close the carbon cycle of the
combined oceanic boxes. )
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We do not take into account transport associated with lateral advection or upwelling or
downwelling because we lack observations to assess their importance to DIC in the mixed
layer. We will, however, compare our model results with carbon fluxes predicted by the
three-dimensional ocean tracer transport model of Bacastow and Maier-Reimer (1991),
which includes these processes.

The observed changes in salinity-normalized DIC, denoted by AsDIC,(t), and in
isotopic ratio of DIC, denoted by A13§,(z), in the mixed layer for a time-interval from ¢; to
t are assumed to consist of the sum of changes produced by the four processes identified
above, consistent with equations (3) and (4):

AsDIC,, (t) = sDIC,, (1) - sDIC,(t.,) ®)
= AsDIC,. (1) + AsDIC,q(t) + AsDIC,, (1) + AsDIC,, (1)
and
A®S (1) = A8 (1)- AP8 (1)

®

APS (1) + A"8, (1) + AUS_ (1) + A3, (1)

where, in both equations ex refers to gas exchange, diff to vertical diffusion, ent to
entrainment, and bio to exchange of carbon between organic matter and DIC. All terms, as
indicated, are explicitly functions of time.

As noted in Sections 1 and 3, we employ two strategies to calculate the contribution
of the biological processes, AsDICy,;,, which constitutes the only concentration term that
cannot be estimated from empirical relationships.

In the first method each of the first three process terms listed in equations (8) and (9)
(AsDIC,,, AsDICyg AsDIC,,, and the corresponding terms for AI38) are evaluated
individually for each time step by means of empirical relationships explained in the
following subsections. The isotopic change caused by biological processes, Al3§,;,, is then
solved for as a difference from the other terms in equation (9), with the sum, A138 (1),
evaluated from the harmonic representation of the observations expressed by equation (7).
The difference, A!3§,,,, is then used to calculate AsDIC},,, where account is taken of isotopic
fractionation of carbon occurring during photosynthesis. In this case all four contributions
on the DIC balance in the mixed layer can be computed and their temporally integrated sum,
a quantity that we will call sDIC,,,,, can be compared to the observed seasonal variations of
sDIC, to check the consistency of our computations.

In the second method a quantity, which we will call AsDIC”, , to distinguish it from
the corresponding quantity determined by the first method, is determined from the observed
change, AsDIC, (1), by subtracting the calculated changes ascribed to the other three fluxes
of equation (8), i.e.

ASDIC (1) = AsDIC, (1) - AsDIC,(1) - AsDIC (1) - AsDIC,,(1). (10)

This second approach is identical to previously employed techniques for estimating net
community production from inorganic carbon data (Oudot 1989, Karl, Tilbrook, and Tien
1991, Chipman, Marra, and Takahashi 1993, Robertson and Watson 1993). Our principal
interest is in the first method, which takes isotopic variations into account, but the second
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method provides a useful check on the first method, as mentioned in Section 1. The model
calculations to depict the seasonal cycle of carbon near Bermuda were carried out during a
single annual cycle, using a constant time step, At, of one day.

In the following subsections, we present details of the computational schemes used for
these model calculations. A more detailed description of the formulas is furnished in
Appendix A. The input data and parameters used for the model calculation are summarized
in Table 2.

6.2 AIR-SEA GAS TRANSFER

The net exchange flux of CO, gas across the air-sea interface, F,,, at each time step, is
evaluated by the expression

Fex(r) = kex(t-l) (pCOZatm(t-l) - pCOZac(’-l»’ (11)

where pCO,,,,, denotes the partial pressure of CO, in the atmosphere immediately above the
sea surface, and pCO,,. the partial pressure at the sea surface in the ocean. The only
observations of pCO,,,, including its isotopic ratio and pertaining to nearly the same
latitude as Bermuda, which are available to establish the seasonal cycle during the period of
investigation there, were obtained at La Jolla, California, at 32.9°N on the Pacific coast of
North America. Because the seasonal cycle in pCO,,,,, according to a model calculation
(Heimann, Keeling, and Tucker 1989, 292), varies only slightly with longitude in
midlatitudes, we deem the data for La Jolla to be adequate to represent pCO,,,,, at Station
S. This assumption has been verified for the years from 1989 to 1991 with data obtained at
island station Bermuda East (WMO/WDCGG 1992). A two-harmonic fit (m = 2 in equation
(7)), adjusted for secular change to a datum of 1987, was used to represent these atmospheric
observations in the model. We disregard the small difference between partial pressure and
fugacity, the latter being regarded from a thermodynamic point of view as the exact
parameter governing air-sea exchange (Weiss 1974).

The gas-exchange coefficient, k,,, is expressed as a product of the CO, gas solubility,
o, and the piston velocity, P, (Broecker and Peng 1982, 122). Solubility is computed as a
function of salinity and temperature using the formulation of Weiss (1974). Salinity is
assumed to be constant at a value, S, equal to 36.452, the average salinity of our time series.
We adopted the formula of Heimann and Monfray (1989) (based on Liss and Merlivat
[1986]) for the wind-speed dependency of the piston velocity, adjusted to agree with
radiocarbon data by increasing k,, by a constant factor, ¥, of 1.7447. Climatological monthly
average wind-speed data were taken from Musgrave, Chou, and Jenkins (1988), who
compiled them from Isemer and Hasse (1985) for a 1° square centered at 32.5°N, 64.5°W.
The wind data are plotted in Figure 7. The formulas used to compute k,, are given in

Appendix A.1.

The corresponding flux of 13CO,, *F,, is calculated by an expression similar to
equation (11) but allowing for isotopic fractionation (see Heimann and Keeling [1989, 264,
equation (5.41)]). Thus,
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*F, (1) =k, (t NRSrja, [pCO, ., (t ) .(t) -
pCOZoc(t-l)aeq(t-l)ro(-(t.l)],

where R, denotes the 13C/(12C + 13C) ratio of the isotopic standard PDB, r; the corresponding
B3C/12C ratio, r,,, the 13C/12C ratio of CO, in the atmosphere, and r,, the 13C/12C ratio of
DIC in the mixed layer. The factor a,, denotes the kinetic 13C/12C fractionation for CO,
uptake by the surface ocean water, and a,, the equilibrium isotopic fractionation factor of

gaseous CO, with respect to DIC (see Appendix A.1).

(12)

The seasonal cycle of r,,, is evaluated from observations of 13C/!12C in atmospheric
CO, at La Jolla, California, from 1978 to 1989, adjusted to a datum of 1987, as was pCO,,,,,..
A two-harmonic fit of the reduced ratio, 133, was utilized directly in equation (A.6) of
Appendix A.1.

Over each time step, both the 13C flux, *F,(#), and the 12C + 13C flux, F,(t), are
assumed to be constant. For the calculation of changes in concentration, AsDIC,, and in
isotopic ratio, A133,,, and the fluxes are assumed to be added to the mixed layer, defined by
its depth at the beginning of the time step (see equations (A.5) and (A.9) of Appendix A.1).

6.3 VERTICAL TURBULENT DIFFUSIVE TRANSPORT

The change in sDIC in the mixed layer caused by diffusive transport at its base is
calculated using an eddy diffusion formulation. The vertical flux of DIC into the mixed
layer by turbulent diffusion, Fyy is thus defined by the expression:

F (1) = K(t,)(dsDIC/dz)y, P, (13)

where K, denotes the vertical diffusion coefficient at the base of the mixed layer,
(dsDIC/dz),, denotes the vertical gradient in sDIC immediately below the mixed layer,
assumed to be constant with depth and time, and p, denotes the seawater density. The
density, p,, appears in equation (13) only to give the correct dimension to F 4 and hence
only a nominal constant value was used (see Table 2). The concentration of sDIC is assumed
to be continuous at the boundary between the mixed layer and submixed layer.

Coefficient K, is determined according to a formula of Denman and Gargett (1983):
K, = 0.25¢(N)2, (14)

where € denotes the turbulent kinetic energy dissipation, assumed to be constant
immediately below the mixed layer, and N the buoyancy (Brunt-Viisdld) frequency, an
expression of the water-column stability that depends on the vertical gradient of the time
varying seawater density, p(f) (see Appendix A.2, equation A.10). The annual cycle of K,
shown in Figure 8, was evaluated from separate density profiles, based on temperature and
salinity data for each occupation of Station S from 1983 to 1989, whether or not sampled as
part of our study. As noted above, a harmonic function with three terms (rn = 3 in equation
(7)) was assumed. The coefficients of the fit are given in Table 1. We did not attempt a fit
using higher harmonics, and thus probably have underestimated K, in late winter and early
spring.
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With the formation of a strong pycnocline in May, K, decreases rapidly to low and
almost negligibly varying values around 0.2-10-4 m? s-! that prevail throughout the summer.
These . values agree well with estimates based on microstructure measurements
((0.3-10-4 m2 s-1) or less according to Denman and Gargett [1983]) or from an open ocean
tracer release experiment (0.1-10-4 m2 s! according to Ledwell, Watson, and Law [1993]),
both obtained in the main thermocline. With the erosion of the pycnocline in autumn, the
diffusion coefficient gradually increases until it becomes large and erratic in February. For
late winter, calculated K, may attain values 10 times those normally found for midsummer
(around 2:104 m2 s'1). These values are perhaps too high, but lie within the range of
estimates based on bulk mixed-layer models (1:10-4 m?2 s-! according to Musgrave, Chou,
and Jenkins [1988]) and observations in the Northeast Pacific during the passage of a storm
(10-10-4 m2 s according to Large, McWilliams, and Niiler [1986]).

The vertical turbulent diffusive flux of 13C, *F g, is computed in a manner identical to
Fup (See Appendix A.2.)

Because we lack the observations to establish the variability in sDIC below the mixed
layer, we assumed a constant vertical gradient of 0.45 + 0.15 pmol kg1 m-! (z axis positive
downward), derived from four vertical profiles of sDIC that were measured in the course of
the six years of observations (see Lueker et al. submitted manuscript 1997). Isotopic
measurements derived from the same four vertical profiles are also too few to estimate the
time variability of 133 below the mixed layer. They provide a rough estimate for the average
gradient of -0.003 £ 0.001%o m-! (138 becoming more negative downward).

Because this latter estimate is highly uncertain, we calculated the isotopic gradient by
means of the three-dimensional ocean tracer transport model of Bacastow and Maier-Reimer
(1991) (see Appendix B). As shown in Table 3, the vertical gradients of DIC and 133,
according to this model, are caused by remineralization of organic carbon, the buildup of
DIC with a low isotopic signature in the upper ocean from fossil fuel combustion (Suess
effect) and by the temperature-dependency of the CO, solubility and of the isotopic
fractionation of CO, during air-sea exchange (see also Section 2). We adjusted the
computed overall gradient of DIC slightly in order to match the observed value of 0.45 umol
kgl m! (see Appendix B for details). The correspondingly adjusted isotopic gradient was
found to be -0.0021%0 m-!, somewhat smaller than the observed gradient of
-0.003 = 0.001%o0 m-1, but within the range of uncertainty in the observations.

Changes in sDIC and in 135, from vertical turbulent diffusion are computed by an
expression analogous to that used in determining the changes from air-sea exchange (see
equations (A.11) and (A.14) of Appendix A.2).

6.4 VERTICAL ENTRAINMENT

The passive transport of DIC by entrainment of water into the mixed layer during
times of deepening, F,,,, is computed assuming that the additional water mass, defined by
the increased mixed-layer depth from beginning to end of an episode of entrainment, is at
that time instantly incorporated into the mixed layer. We regard the recurrence interval of
entrainment, At,,,, to be independent of the time step of the model, Az (see Appendix A.3).
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We estimated At,,, to be 8 days on the basis of limited evidence for actual entrainment events
from a study at Ocean Weather Station P in the North Pacific Ocean (Large, McWilliams,
and Niiler 1986, Figure 13, 1535). We smoothed the predicted change in composition by
assuming that a fraction At/At,,, of each episode occurs during one time step of the model.
In our simulation, entrainment occurs from day 191 to day 51, inclusive, of the next year (cf.
Figure 2).

We cannot compute entrainment more realistically because we lack a sufficiently
detailed knowledge of short-term vertical variations in properties near the base of the mixed
layer. Thus, we did not attempt to estimate entrainment arising from short-term deepening
of the mixed layer during that part of the annual cycle when shoaling predominates.
Because we provide in the model for vertical transport by eddy diffusion (see the previous
subsection), we have accounted to some degree for vertical transport in DIC arising from
short-term variations in the same properties that govern entrainment. Details of the
calculations of the changes in concentration and isotopic ratio resulting from entrainment
are given by equations (A.27) and (A.32) respectively in Appendix A.3.

6.5 BIOLOGICAL EXCHANGE: NET COMMUNITY PRODUCTION

Fractionation during photosynthesis is assumed to be analogous to a Raleigh process
(Mook, personal communication), with a single sink and no source: ‘

Tend -
Finis

15)

spIC,,, 1%
sDIC, ’

init

where r,,;, denotes the 13C/12C ratio in the DIC pool at the beginning of the process and r,,;
at the end, and where sDIC,,;, and sDIC,,,; denote the corresponding sDIC concentrations.
The fractionation factor of photosynthesis, o, in the mixed layer is defined in terms of
reduced isotopic ratios by:

org?

Olypg = 138,,, - 138

org oc t1, (16)
where 135,,, denotes the average 138 value of phytoplankton and 135, that of the DIC pool
in the mixed layer.

We evaluate 1360,g according to the formula of Rau, Takahashi, and Des Marais (1989),
who related the observed variability in 138 of phytoplankton to differences in CO, solubility,
based mainly on data from the Atlantic and Southern Oceans. From these data they found
empirically that:

133,,, = (-0.8 [COyx(agq)] - 12.6) x1073, (17

where [CO,(aq)] denotes the local concentration of dissolved CO, in seawater in pmol
kg'l. We then calculate 0,,,, by equation (16), where 133, is given by the harmonic fit to our
observations. Because the variability of [COy(aq)] is small over the temperature range
observed at Station S, 1380,g is found to vary over only a narrow range (+0.2%0) from its
average of -20.499%., while o.,,, also varies over a narrow range from its average departure
from unity of -22.026%. (where the difference, 1.527%., is the average of 133, _, as given in

oc’
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Table 1). This computed value of 135, agrees well with observations by Druffel et al.
(1992) obtained at Station S. They found the average 133 of particulate organic carbon
(POC) in the top 100 meters to be -20.8 + 0.5%o.

The change in sDIC in the mixed layer resulting from biological processes, AsDIC,,,,
during time step, Af, (from ¢ to ¢) is the difference between sDIC,,;, and sDIC,,,, and is
computed by solving equation (15) for sDIC,,;, and then subtracting sDIC,,;,, hence:

(—L)
13§, () + 1) %!
_end\t/ T = - sDIC. (18)
By(1) + 1 sDIC

init>

AsDIC,,(t) = sDIC,,

where we substitute (136+ 1)r, for r according to equation (1) to obtain expressions in 138
notation, and where:

B3§,,q (1) = 138,.(1). (19)

The terms sDIC,,, () and 138,,,(t) refer to sDIC(t;) and !33(z_,), after adjustments that take
account of air-sea exchange, vertical diffusion, and entrainment, i.e.:

$DIC,; (1) = SDIC(t.1) + AsDIC, (1) + AsDIC (1) + AsDIC,y,(2) (20)

and
1381’m‘t (t) = 1350(‘”—1) + A136ex(t) + A136d1ﬁ” (t) + A138ent (t)a (21)

consistent with equations (8) and (9) respectively.

6.6 CALCULATION OF VERTICALLY INTEGRATED
RATES OF CHANGE

As an alternative to expressing the annual carbon cycle in surface waters in terms of
changes in concentration, we consider the rate of change in sDIC for each component of the
carbon cycle, F;, vertically integrated over the mixed layer. The seasonal cycles of the F;
differ in pattern from the former rates because of the variable depth of the mixed layer.

Per unit area, and in the approximation of small time steps, these vertically integrated
fluxes are given in our model by the expression:

AsDIC;(t) - MLD(t.,) 22)

Fi(t) = A

where AsDIC{t) denotes the change in sDIC caused by process i during the time step,
MLD(t ;) denotes the mixed-layer depth at the beginning of the time step, and Az denotes the
duration of the time step.

As a check on the consistency of all four calculated process fluxes, we compare their

sum:
Fcalr(t) = zFi(t)» (23)
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to the vertically integrated rate of change in sDIC based on direct observations:

AsDIC,. (1) - MLD(t,,) (24)
At '

F, obs (t) =

This flux is to be distinguished from the total rate of change in sDIC, F,,, which depends on
changes in both water depth and concentration within the mixed layer. In the notation of
differential calculus

F,,,=dIMLD(t) - sDIC,(t))/dt (25)
whereas F ,; represents only that part caused by changes in concentration, disregarding the
change in volume in the water column. Thus, again in differential notation

F(t) = MLD(t) (dsDIC,, /dt) (26)

=F,,, - sDIC (t) (dMLD(t)/dt), @27

where the second term on the right hand side of equation (26) expresses the mass flux
through the base of the mixed layer resulting from shoaling and deepening of this layer.

Because the mixed-layer depth at Station S varies over a large range, between 15 m
and 160 m in our harmonic representation based on observations, the total flux F,,, is much
larger than F ;(¢). We are primarily interested, however, in the integrated rates of change
caused by local changes in concentration, and thus we focus on the quantity F,,(t). The
second term on the right hand side of equation (27) is important, however, to close the mass
balance of the system.
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7. RESULTS OF THE SEASONAL MODEL

7.1 SEASONAL VARIATIONS OF DISSOLVED
INORGANIC CARBON

The rates of change in the salinity-normalized DIC concentration calculated by the
model over the course of the annual cycle, are shown in Figure 9 individually for gas
exchange, vertical turbulent diffusive transport, vertical entrainment, and net biological
exchange.

Substantial variations in rates are exhibited by gas exchange and biological processes
during most of the year. Somewhat smaller variations are shown by vertical diffusion,
whereas entrainment causes only minor variations.

The variations in gas-exchange rate mainly reflect the CO, pressure gradient at the air-
sea boundary. During the cooler part of the year, when the CO, partial pressure in the water
(pCO,,,.) is below the atmospheric partial pressure (pCO,,,,), gas exchange causes sDIC to
increase at a nearly steady rate of about 0.08 pmol kg-! day-! from November through most
of May. Subsequently, during the summer months, when the seawater temperature is high
and pCO,,,. exceeds pCO,,,,, the net flux at the air-sea interface is reversed, and sDIC
decreases, attaining a maximum rate of -0.11 umol kg-! day-! in mid-August.

According to our model calculations, biological processes remove carbon from the
inorganic carbon pool during most of the year, reflecting positive net community
production. Only from mid-November until the beginning of March is there a net return of
organic carbon to the inorganic pool. In spring when primary production is maximal
(Menzel and Ryther 1960, Michaels et al. 1994a) the rate of inorganic carbon removal,
AsDICy; /At, attains 0.24 pmol kg-! day-!, (3.0 mg C m-3 day-!). During the period of high
production (AsDIC,,; /At 0.20 umol kg-! day-!) from early April to mid-June, the mixed
layer, as prescribed by the harmonic fit, shoals from 120 m to 20 m. For this period (66
days), the average removal rate, integrated over the mixed layer, is 0.18 gC m-2 day-1. After
a period of low inorganic carbon removal during summer, a secondary maximum in removal
rate of 0.20 umol kg-1 day-! is observed in late September. The existence of this secondary
maximum rate is consistent with the autumnal plankton bloom found by Menzel and Ryther
(1960) from measurements of primary production, although the bloom occurred about one
month later, Similarly, Lohrenz et al. (1992) observed an increase in primary production in
July 1989 and from October to December 1990.

The onset of negative net community production (return of inorganic carbon to the
mixed-layer pool) in mid-November occurs at a time when primary production is decreasing
and when the mixed layer is deepening rapidly, thereby entraining waters with an excess of
respiration over net primary production. Net community production in the mixed layer
remains negative until the beginning of March, even though primary production increases
considerably already in January (Michaels et al. 1994a). During this period the mixed layer
includes a large amount of water lying below the euphotic layer. The vertically integrated
respiration in these waters is obviously large enough to compensate for the primary
production until the beginning of March, when shoaling of the mixed layer combined with
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increased light availability leads to positive net community production in the mixed layer.
These observations are consistent with Sverdrup’s critical depth hypothesis (Sverdrup
1953), which relates the onset of the spring bloom with an increase in the water-column
stability.

Variations in sDIC concentration from vertical diffusive transport, AsDICdiﬂ/At, are
found by the model to be small except in spring, a maximum of 0.09 pmol kg-! day-! being
observed in mid-May. The contribution from vertical entrainment, compared to the other
contributions, is small, even during the period of maximum deepening of the mixed layer in
December and January when AsDIC/At attains 0.03 pmol kg'! day-1.

The rate of change in DIC by biological processes, AsDICy,; /At, as plotted in Figure 9,
was computed from isotopic data by equation (18), above. Alternatively, as noted above in
Subsection 6.1, this rate of change can be determined from the observed change in sDIC in
the mixed layer, AsDIC, ., merely by subtracting from it, for each time step, the calculated
changes ascribed to the other three fluxes as given by equation (10). The outcomes of the
isotopic and alternative ways of calculating, distinguished respectively by the symbols,
AsDICy;, and AsDIC",;,, are shown in Figure 10. Differences between the two methods,
which reach 0.10 pmol kg-! day-! in autumn, reflect a bias toward lower values during
shoaling of the mixed layer when the rate of change is calculated by differences in sDIC,
and higher values during deepening, suggestive of errors contributed by the calculated
fluxes by diffusion or entrainment. Nevertheless, the two ways of calculating AsDIC,, /At
show a similar overall pattern, a rapid decline from a maximum in early winter to low
negative values in spring, and then small variations until the rate increases again in autumn.

7.2 CALCULATED SEASONAL CYCLE OF DISSOLVED
INORGANIC CARBON

The seasonal cycle of sDIC, calculated as the cumulative sum of increments for each
process via equation (8), and designated sDIC,,, (see Subsection 6.1), is compared in Figure
11 to the observed seasonal cycle of sDIC,, of equation (8). The starting value of sDIC,,,
is set so that the annual average agrees with sDIC,.. The curves differ in pattern as a direct
result of the integrated differences between AsDICy,;, and AsDIC",;,, shown in Figure 9. The
curve of sDIC_,,_has nearly the same amplitude as that of sDIC,,, but lags in phase and fails
to close exactly in the annual cycle, although it should. The final value for December 31 is
about 1.8 pmol kg1 lower than the initial value for January 1. This lack of closure is
presumably a result of uncertainties in the calculations of the different terms in equations (8)
and (9).

7.3 SEASONAL VARIATIONS OF VERTICALLY INTEGRATED
RATES OF CHANGE

Seasonal variations in the rates of change of sDIC for the different processes integrated
over the mixed layer, F; (defined by equation (22)), are presented in Figure 12. The relative
contributions of the integrated rates at any given time are the same as the changes in sDIC
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shown in Figure 9, but from season to season the integrated rates are different in absolute
terms, because of variations in mixed-layer depth. In particular, all integrated changes, F;,
are relatively small during summer when the mixed layer is shallow.

During March and April the net biological exchange flux, F;,, shows a pronounced
maximum in removal of DIC from the mixed layer (-0.27 gC m2 day-l). A secondary
maximum removal rate occurs in mid-October (-0.07 gC m-2 day-!). Because the mixed
layer is deeper in the spring than in autumn, the spring maximum occurs earlier and is larger.
Also, the autumnal maximum is later and smaller than the respective maximum for
AsDICy,; /At, and thus more nearly in accord with the findings of Menzel and Ryther (1960)
and Lohrenz et al. (1992), as noted in Subsection 7.1. The rates of increase in sDIC in the
mixed layer caused by gas exchange and diffusion also reach extremes in spring (0.14 and
0.11 g€ m2 day-1, respectively). Vertical diffusive transport, Fyg, is close to zero in late
summer and during most of autumn. Gas exchange, F,,, is also small in summer but
increases again in late autumn. The vertical entrainment flux, F,,,, is small or zero at all
times.

Seasonal variations of the vertically integrated rate of change of sDIC, summed from
all components and denoted by F_,., are compared with the rate based on direct
observations, F,,, in Figure 13. Disagreements between the curves are seen to be consistent

with those for AsDIC/At, shown previously in Figure 10.

7.4 TEMPORALLY INTEGRATED CHANGES IN CONCENTRATION

The net changes in concentration of sDIC in the mixed layer for each process are
presented in Table 4 for the annual cycle and summed over the shoaling period, from mid-
February until early July (days 51 through 190 of the annual cycle, see Figure 2), and for the
deepening period thereafter. During the year, biological exchange removes 0.42 gC m-3
from the mixed layer. Most of this change, 0.29 gC m3, occurs during the shoaling period.
Gas exchange and diffusive transport cause DIC to increase in the mixed layer for both
periods. The increases are larger during shoaling. For entrainment, a small increase occurs
during deepening. Over the annual cycle the model calculation, sDIC,_,,, indicates a net
addition from all processes of -0.02 gC m-3, whereas the net change inferred directly from
the observed seasonal cycle of sDIC,,, of course, is identically zero. During shoaling and
deepening the calculated changes show somewhat larger discrepancies from the observed
changes (sDIC,,;, minus sDIC,,.) of 0.09 and -0.12 gC m-3, respectively.

cale

7.5 TEMPORALLY AND VERTICALLY INTEGRATED
RATES OF CHANGE

Vertically integrated rates of exchange of the inorganic carbon system in the mixed
layer, F, are listed in Table 5, arranged in a manner similar to Table 4. Biological exchange
removes 19 gC m2 from the mixed-layer DIC pool during shoaling, but returns 8 gC m-2
during the deepening period, resulting in a net annual removal of 11 gC m2. During the
annual cycle, air-sea exchange transfers 21 gC m-2 yr! into the mixed layer, nearly equally
divided between periods of shoaling and deepening. Vertical diffusive transport over the
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annual cycle contributes a substantial 15 gC m-2, predominantly during shoaling. Vertical
entrainment makes a smaller contribution, as was the case for AsDIC,, /At, but when added
to vertical diffusive transport causes the sum to be nearly as large during deepening as
during shoaling. Disagreement exists between F,,. the calculated sum of the four
component flux terms (see equation (23)), and the observed rate, F . (equation (24)), as
estimated from changes in concentration. The absolute disagreement is greater during
shoaling (7 gC m-2) than during deepening (5 gC m2).

During the annual cycle the observed vertically integrated rate, F,,, is a positive
27¢C m2 yr'l, balanced by an equal apparent loss expressed by the annual integral of the
flux associated with the varying mixed-layer depth (sDIC,[dMLD/dt]) (see equation (24)
and Table 5). The latter, together with F, sums to the total rate, F,,, which over the annual
cycle is zero by definition. The annually integrated fluxes F,,, and sDIC, [dMLD/dt] are
different from zero because the mixed layer shoals at times when the concentration of DIC
in the mixed layer, on average, is higher than when it is deepening. The implied imbalance
below the mixed layer, if our calculations are correct, must ultimately be compensated for
by vertical or horizontal fluxes of inorganic or organic carbon, as discussed below.
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8. DISCUSSION

8.1 SUMMARY AND DISCUSSION OF THE SENSITIVITY TESTS

Introduction

The seasonally varying fluxes of carbon predicted for the waters near Bermuda by our
model are all influenced to some degree by uncertainties in the relationships used for the
calculations. After identifying uncertainties in estimating each flux, we challenge the
plausibilities of these relationships by means of sensitivity tests. The results of these tests
are summarized in Table 6 with respect to the computed net community production in the
mixed layer, expressed in our model by the net biological exchange flux, Fp;,, and with
respect to the computed seasonal variations of salinity-normalized DIC, sDIC,,,, in Figure
14. Also shown in Table 6 is the lack of annual closure of the computed seasonal cycle in
sDIC_,., designated as AsDIC .. Results are compared to a standard case, defined as the
set of calculations summarized in Tables 4 and 5. Details concerning these tests are
presented in Appendix C.

Air-sea exchange

We estimate that the statistical uncertainty for the relationship between measured
piston velocity, P,, and wind speed (equation A.3 in Appendix A) is about 15%, based on the
scatter of various estimates (Heimann and Monfray 1989, Figure 6). In addition to random
uncertainty, it is likely that the gas-exchange coefficient, computed by the formula of Liss
and Merlivat (1986) from monthly average wind speed, is biased on the low side, because
this formula, based on wind-wave facility data, prescribes a steeper dependence on wind
speed when the instantaneous winds are high (See Appendix A). In an attempt to
compensate for this bias, we increased the calculated gas-exchange coefficient by a factor,
v, set equal to 1.7447 (see Subsection 6.2) as proposed by Keeling, Piper, and Heimann
(1989b) and similar to the value of 1.7 given by Watson (1993). Lacking better evidence,
we estimate that the combined errors in establishing the gas-exchange coefficient, k,,, are of
the order of 30%. Thus the net flux of CO, across the air-sea interface uptake of
atmospheric CO,, F,,, of the annual cycle is estimated to be 21 + 6 gC m2 yr1. We have
diagnosed the influence of this uncertainty on the model results as follows.

To assess the effect of the large uncertainty assigned to the piston velocity adjustment
factor, v, this factor was varied between 1.0 and 2.0. We found that any error in computing
F,,, which mutually impacts both the concentration and the isotopic ratio of DIC, is almost
directly passed on to the net biological exchange flux, Fp;,. In contrast, the error in
specifying the CO, pressure gradient at the sea surface produces a lesser error in Fy;,
because of a partial compensation from the isotopic relationship.

Some indication of what should be the correct air-sea exchange flux is afforded by
looking at how well the annual cycle in sDIC_,,, closes in the model. A considerably lower
gas-exchange coefficient, consistent with the Liss and Merlivat (1986) specification,
produces a less desirable closure than our preferred choice. A confirmation that the gas-
exchange rate is varying significantly with season is given by a very poor annual closure in

sDIC_,;, when a constant rate for the year is assumed. On the other hand, neglecting the
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effect of seasonal variations in temperature on the gas-exchange rate has little impact on the

model results, either for Fy;, or the closure of sDIC,,.

If we ignore the disequilibrium between atmospheric and oceanic CO, caused by the
buildup of industrial CO, in the atmosphere (the Suess effect), the isotopic relationships are
radically altered with major impacts on the calculation of F},;,. A strong indication that we
have represented the air-sea gradient in 138 nearly correctly, is the less desirable annual

closure in sDIC,,;. when the Suess effect is neglected.

We note that the Suess effect produces an isotopic disequilibrium of about 1.1%eo,
whereas the observational errors in 13§ of atmospheric and oceanic CO, are each of the order
of 0.05%o. Even if there is some additional uncertainty because of biases between the
atmospheric and oceanic isotopic measurements, the isotopic errors involved in the air-sea
exchange process are too small to have a significant impact on the calculation of Fy,,
Therefore, we estimate that the uncertainty of 30% in the estimate for the annual air-sea gas
transfer leads to an uncertainty of about the same degree in our estimate of annual net
community production.

Vertical transport

Errors in our estimation of vertical transport of DIC across the lower boundary of the
mixed layer are not readily established because we cannot be sure that our mathematical
formulation of either diffusive transport or entrainment is physically realistic. In addition,
our estimations of vertical gradients in both concentration and isotopic ratio of DIC, and of
the vertical diffusion coefficient, are uncertain, because they are based on sparse data.
Furthermore, our estimation of net community production through the biological flux, Fy,,,
is sensitive to the mixed-layer depth, whose variations for time intervals shorter than about
one month are not taken into account. Our estimates of vertical diffusive transport may not
be in serious error for the deepening period for which we employ a diffusion coefficient, K,
of about (0.2-104 m2 s-1) in good agreement with recent observation (Ledwell, Watson, and
Law 1993), but over the shoaling period we employ much higher values of K, (of the order
of 2:104 m2 s1) not supported by direct measurements. We cannot rule out substantial
errors in the calculation of transport for this period. Thus, and especially if we allow for
systematic biases, relative errors of up to 50% in our transport calculations are possible.
Given this estimation of uncertainty, sensitivity tests are especially useful to determine how
seriously F;, is affected by errors in this transport.

Doubling the rate of vertical transport by diffusion, or reducing it to zero, leads to
proportional changes in Fy;, equal to about 60% of the changes in vertical transport. The
40% reduction in impact is caused by compensation arising from the isotopic relationships
of the model. Our isotopic data, which influence the closure of sDIC,,, ., are evidently
inconsistent with these extreme values in vertical transport, because they result in very poor
annual closure of sDIC, ;.. Thus, if our isotopic formulation and data are trustworthy, it is
unlikely that our computation of transport is in relative error to a degree approaching that of

these tests.

If we decrease or increase vertical entrainment by 50% through variation of the
entrainment recurrence interval Az,,,, by + 4 days, respectively (see Appendix A.3), F,, is
only slightly affected, because entrainment is only a small part of vertical transport in our
model. Furthermore, if we assume a small diffusion coefficient throughout the year
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(0.1-104 m2 s-1), and at the same time drastically increase entrainment (At,,, to 60 days) so
as to produce approximately the same rate of upward transport of DIC as in our standard
calculation, Fy,;, again is only slightly affected. Thus, the mixed-layer model is insensitive
to whether the vertical transport is predominantly by eddy diffusion, or by entrainment, as
long as the sum is constant.

If the observed vertical gradient of 138 below the mixed layer is used in the calculations
instead of the estimate from the three-dimensional model of Bacastow and Maier-Reimer
(1991) F,,, is increased by about 30%. This substitution also causes a less desirable annual
closure of sDIC,,,, suggesting that the prediction of the isotopic gradient by the model is
closer to correct than the gradient based on our limited observations.

To challenge our harmonic estimation of the mixed-layer depth, we replaced our two-
harmonic representation with a hermite spline function (Figure 15), which more closely fits
the data. The resulting shallower mixed layer in the spring causes predicted changes in
concentration of DIC resulting from air-sea exchange and vertical exchange that appear to
be exaggerated, but cause only moderate changes in F,,. Varying the depth of the mixed
layer over the entire year by 30 m has only a minor impact on £y,

In conclusion, we cannot rule out errors as large as 50% in our estimation of vertical
transport of DIC, and consequently, errors on the order of 30% in net community
production. Nevertheless, when vertical transport in the model is increased or decreased
substantially from our standard computations, the model predicts poor closure in the annual
cycle of sDIC .. This closure indicates that vertical transport much higher or lower than our
estimate is inconsistent with the isotopic relationships of the marine carbon cycle, as taken
into account in our model. Also, we did not find the model predictions of biological
processes to be particularly sensitive to our representation of the mixed layer.

Biological exchange

The only uncertain parameter in the calculation of the net biological exchange flux,
Fy;,» from 13C/12C data (see equation 15) is the fractionation factor for photosynthesis, 0.,
As described in Appendix C, its uncertainty is estimated to be about + 3%.. Variations in the
isotopic fractionation factor by this amount showed only little impact on the results of the
model.

Taking into account all of the sensitivity tests described above, we estimate that the
uncertainty in Fy;, is of the order of 50%. We base this estimate on the uncertainty of the
air-sea exchange and of the vertical processes and their influence on Fy;,, including the
additional constraint of a small lack of closure of sDIC,,. during the annual cycle. Thus our
best estimate of Fy;,, and hence of net community production integrated over the mixed
layer, is 11 £ 6 gCm2 yr'l.

8.2 COMPARISON WITH OTHER ESTIMATES

We now compare the estimates of carbon fluxes in the waters near Bermuda based on
our model calculations with estimates based on other observations and other types of
models. We focus on comparisons of the air-sea exchange and biological exchange for
which other data are most readily available.
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Air-sea gas exchange

The pCO,,,. data for Station S, indicate that the waters near Bermuda are a strong sink
for CO,, provided that a correction of 10 ppm is applied to our pCO,,. data derived from
DIC and alkalinity measurements (see Section 4). These pCO,,. data would have to be
raised uniformly by 34 ppm throughout the year to achieve a zero net air-sea flux. This
difference is larger than the annual average of the air-sea difference

APCOZ = pC02atm - pCOZoc (28)

equal to -23 ppm, because the gas-exchange rate tends to be higher when ApCO, is negative,
especially in winter when winds are strong.

The annual net uptake of atmospheric CO, by ocean water at Station S, indicated by
our calculations, is approximately 21 + 6 gC m-2 yr-! (see Subsection 8.1). This estimate can
be compared with the results of recent seasonal compilation of ApCO, over the North
Atlantic by Takahashi, Takahashi, and Sutherland (1995). They used a numerical
interpolation scheme based upon the lateral diffusive and advective transport of surface
waters to interpolate measurements made irregularly in time and space. They also calculated
the monthly air-sea fluxes of CO, using the gas-exchange coefficients of Tans, Fung, and
Takahashi (1990) and integrated them during the year to obtain annual net air-sea exchange
fluxes. For the 4° latitude 5° longitude box encompassing Bermuda they found an annual
ocean uptake of about 3.1-1012 gC yr-1, implying a flux of about 15 gC m-2 yrl, based on an
area of 210-1011 m2, within the uncertainties of our estimate. Our estimate, however, is
substantially higher than that for the BATS station by Bates, Michaels, and Knap (1996,
375) (average of 7.41 + 43 gC m2 yr-! for 1989, 1991, 1992, and 1993) computed from
direct observations in a manner similar to our computation.

Biological exchange

The magnitude of primary and new production in the waters near Bermuda has been
repeatedly debated. Several recent studies yield estimates of both primary and new
production at Station S and elsewhere in the Sargasso Sea. A summary of these, and of
earlier estimates of Menzel and Ryther (1960), is given in Table 7. As pointed out in Section
2, above, we will assume in this discussion that during the annual cycle net community
production, new production, and the export of organic matter from the euphotic layer are
equal.

Several of the studies have inferred production from oxygen measurements or from
nitrogen-based ecosystem models. The associated estimates are thus sensitive to the choice
of the photosynthetic quotient (PQ) and the C:N ratios in organic matter (see Section 2,
above). The traditional Redfield ratios (Redfield, Ketchum, and Richards 1963) are today a
topic of lively discussion, and a number of modifications have been proposed (Takahashi,
Broecker, and Langer 1985, Laws 1991, Sambrotto et al. 1993, Banse 1994, Anderson and
Sarmiento 1994). In Table 7 we chose the average P:N:C:O, ratios of Takahashi, Broecker,
and Langer (1985): (1:16:122:-172) for the conversion of oxygen into carbon, thus a PQ of
1.41. This choice is supported by Laws (1991), who argued, based on balanced chemical
equations for the production of organic matter, that the PQ of new production is about 1.4 +
0.1. By using this PQ we have lowered the estimate of new production by Jenkins and
Goldman (1985) who originally used a PQ of 1.24. The same PQ was used for the estimates
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of Musgrave, Chou, and Jenkins (1988) and Spitzer and Jenkins (1989). We also used the
C:N ratio of Takahashi, Broecker, and Langer (1985) (122:16) for the conversion of nitrogen
to carbon. This ratio has been put into considerable question by Sambrotto et al. (1993) but
was recently supported in a siudy by Anderson and Sarmiento (1994).

In Table 7, the estimate of particulate organic carbon (POC) export flux by Lohrenz et
al., (1992) using sediment traps has been obtained at a deployment depth of 150 m. We
estimated the POC flux at 100 m by scaling the reported value by a factor of 1.5 based on
the empirical relationship of Martin et al. (1987).

Our study for the mixed layer yields an annual decrease in concentration caused by
in situ biological processes (AsDIC,,; /Af) of -0.42 gC m-3 yr-1, (see Table 4, above). As is
evident from our discussion in Subsection 8.1, this estimate is sensitive to the magnitude of
gas exchange and vertical diffusive transport, but only slightly influenced by likely
uncertainties in the isotopic fractionation factor, ¢,,,, or in entrainment. The corresponding
negative of net biological exchange flux (our estimate of net community production) is
computed to be -10.7 gC m-2 yr! for the mixed layer (Table 5).

In order to make comparisons with other estimates of biological exchange, this flux
has to be evaluated over the whole euphotic layer rather than over only the mixed layer. If
our computed concentration change in the mixed layer were representative for the euphotic
layer to its average depth of about 100 m (Marra et al. 1992), the annual net community
production would be about 42 gC m-2 yr-1. This estimate is almost surely too high, because
net community production usually decreases with depth over the euphotic layer, reflecting a
much more rapid decrease with depth in net primary production than in respiration
(Longhurst and Williams 1979).

Based on four vertical radiocarbon productivity profiles measured by Marra et al.
(1992) in 1987 and our determination of the seasonal cycle in mixed-layer depth, we
estimate the fraction of annual primary production occurring below the mixed layer to be
about 50% of the water-column integrated production. Fasham, Ducklow, and McKelvie
(1990), however, estimated this value to be only 27% based on a reanalysis of the Menzel
and Ryther (1960) data for 1959. Using the average of these two estimated fractions (38%)
and assuming that the same fraction applies for net community production, our computed
net biological flux of about 11 gC m=2 yr! in the mixed layer is equivalent to about
18 gC m-2 yr! integrated over the euphotic layer. However, we point out that we lack
observations to support the assumption of a constant ratio between net community
production and net primary production over the euphotic layer. This simple assumption is
inconsistent with the concept of a two-layered euphotic layer as discussed by Jenkins and
Goldman (1985), Small, Knauer, and Tuel (1987), and Goldman (1988), in which most of
the primary production occurs in the upper mixed layer and is fueled mainly by regenerative
nutrients, whereas the bulk of new production is occurring at or near the base of the euphotic
layer. Thus the extrapolation of our result from the mixed layer to the whole euphotic layer
must be viewed as tentative.

This extrapolated estimate of net community production is lower than, but within
reasonable agreement with, estimates of the export of total organic carbon (TOC) based on
POC export inferred from sediment trap data of about 14 gC m-2 yr-! (Lohrenz et al. 1992)
and based on dissolved organic carbon (DOC) export inferred from DOC cycles of about
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13 gC m2 yr! (Carlson, Ducklow, and Michaels 1994). Our value, however, is significantly
lower than estimates of new production of about 40 gC m?2 yr! as based either on the
seasonal cycle of oxygen (Jenkins and Goldman 1985, Musgrave, Chou, and Jenkins 1988,
Spitzer and Jenkins 1989) or on modeling studies (Fasham, Ducklow, and McKelvie 1990,
Fasham et al. 1993). The different estimates, however, must be cautiously compared,
because they refer to different types of production, as discussed in Section 2.

The estimated flux of POC out of the euphotic layer as inferred from sediment traps is
associated with large uncertainties (Michaels et al. 1994b, Buesseler et al. 1994) because of
sampling problems with these traps, which include hydrodynamic biases (under- and over-
collection), interference with swimmers (zooplankton that actively enter the traps), and
solubilization of particulate matter in the traps. Although they do not state error margins,
the estimate of DOC export from the euphotic layer by convective mixing given by Carlson,
Ducklow, and Michaels (1994) is probably also quite uncertain.

The export of particulate nitrogen below the euphotic layer between 1986 and 1988
was estimated by Altabet (1989a) to be about 0.2 mol N m-2 yr-!. He also estimated that 0.13
mol N m-2 yr! is additionally exported by downward mixing of suspended particulate
nitrogen. These values are equivalent to an export of about 18 gC m2 yr! and
12 gC m2 yrl, respectively, when the Takahashi, Broecker, and Langer (1985) C:N ratio of
122:16 is applied. However, his estimate of the downward mixing of particulate nitrogen is
based on relatively high vertical diffusion coefficients and may therefore represent an
overestimate.

Given the uncertainties, our estimate of annual net community production for the
euphotic layer is consistent with these estimates of export production.

Based on a nitrogen cycle model of the plankton dynamics in the mixed layer at
Station S, Fasham, Ducklow, and McKelvie (1990) estimated the annual new production in
the mixed layer to be about 0.4 mol N m2 yr-!. They adjusted their model to have an annual
net primary production in the mixed layer of 45 gC m-2 yr-! in accordance with the data of
Menzel and Ryther (1960). Assuming a Redfield C:N ratio of 122:16, this converts to a
carbon new production of 37 gC m-2 yr! in the mixed layer, more than three times our
mixed-layer net community production of 11 g€ m-2 yr-!. Fasham, Ducklow, and McKelvie
(1990) extrapolated the mixed-layer value to the whole euphotic zone by using their estimate
of the fraction of net primary production occurring below the mixed layer (27%, see above)
and assuming a constant f-ratio over the euphotic layer. This resulted in an estimated annual
new production over the euphotic layer of about 47 gC m-2 yr-! in good accordance with the
results based on oxygen measurements (Jenkins and Goldman 1985, Musgrave, Chou, and
Jenkins 1988, Spitzer and Jenkins 1989).

The ecosystem model of Fasham, Ducklow, and McKelvie (1990) was later included
in a seasonally forced three-dimensional general circulation model of the North Atlantic
Ocean (Fasham et al 1993, Sarmiento et al. 1993). In this model, the same parameters for
the ecosystem model were used as previously, but the results pertain to the whole euphotic
layer, assumed to be 113 m deep. New production was found to be between 0.38 and 0.57
mol N m-2 yr! (thus 35 to 52 gC m2 yr!).

A possible cause for at least part of the discrepancy between our estimate and the
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model estimates of Fasham and his coauthors may be caused by their overestimation of
nitrate transport into the mixed or euphotic layer. With respect to their earlier model
(Fasham, Ducklow, and McKelvie 1990), an overestimate may have been caused by their
assuming too high nitrate concentrations below the mixed layer, resulting in high
entrainment fluxes, whereas in their later model (Fasham et al. 1993) this may have been a
result of an artifact of the physical model causing too high advective input of nitrate during
the winter months (loc. cit., 387).

8.3 COMPARISON WITH TRACER
TRANSPORT MODEL PREDICTIONS

It is possible to put our estimates of fluxes of carbon in the waters near Bermuda into
the perspective of the large-scale circulation of the oceans by comparing them with the
predictions of the three-dimensional tracer model of Bacastow and Maier-Reimer (1991), a
model that we have already used to provide estimates of the vertical gradient of the 13C/12C
ratio of DIC (see Subsection 6.3, above). This nonseasonal model with a uniform 115 m
deep surface layer is described in more detail in Appendix B. In order to compare our fluxes
that pertain to the mixed layer with the fluxes of the surface box of their model near
Bermuda, we have converted our estimates to those for the euphotic layer, which is
approximately the same depth at Bermuda as their model surface layer.

We have already estimated net community production for the euphotic layer to be
about 18 gC m2 yr! by extrapolating from our estimate for the mixed layer on the basis of
net primary production data (see Subsection 8.2 above). Let us now assume that the
diffusive flux, F g during the annual cycle into the euphotic layer is the same as that into
the mixed layer. Thus we deduce, as a first approximation, that the vertical diffusive flux
adds 15 gC m2 yr-1 of DIC to the euphotic layer. We neglect entrainment, because it is small
in our model, and because the base of the euphotic layer is fixed. The air-sea flux, F,,, adds
21 gC m2 yr! to the water column, independent of the depth of the layer considered; hence
it applies directly to the euphotic layer. These fluxes do not even approximately sum to zero
as they should for a fixed layer at steady state; rather, they imply that DIC in the euphotic
layer near Bermuda increases at the rate of 18 gC m-2 yrl.

In seeking an explanation, we turn to the results of the above cited three-dimensional
transport model. This model predicts fluxes for biological exchange and vertical mixing in
their surface layer of 115 m depth that agree well with our estimates, a loss of
17 gC m2 yr-! by conversion of DIC to organic carbon ir situ, and a gain of nearly the same
amount by vertical transport. The model, however, predicts a much lower uptake of CO, by
the air-sea flux, only 7 gC m-2 yr-l, and a nearly equal offsetting flux by lateral transport
coupled with downwelling thus achieving a steady state (See Figure 17). Evidently, the
imbalance in our calculations arises mainly because of a larger uptake of CO, by air-sea
exchange, with no compensating lateral transport.

The air-sea flux predicted by the three-dimensional model of Bacastow and Maier-
Reimer (1991) is mainly caused by the Suess effect (4 gC m-2 yr-1) and by the temperature
dependency of the CO, solubility (2 gC m2 yr1). Thus, the model shows no evidence of a
“North Atlantic Sink Component,” which is predicted by Broecker and Peng (1992). Their
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prediction is based on computing a southward transport DIC from the Northern Hemisphere
into the southern via deep water and which Keeling, Piper, and Heimann (1989) invoked to
help explain the observed global-scale north-south gradient in atmospheric CO,.

If we accept the three-dimensional model prediction that about 7 gC m-2 yr! are
exported from the euphotic layer by lateral transport at Station S, the annual imbalance in
our estimates of the fluxes in and out of the euphotic layer there reduces to 11 gC m-2 yrl.
This value is still considerable but within the margin of error of the sum of our individual
estimates of fluxes. A possible cause for part of this remaining imbalance is that the air-sea
flux is less than 21 gC m? yrl, for example as suggested by the estimate of Takahashi,
Takahashi, and Sutherland (1995) of 15 gC m-2 yr! for the waters near Bermuda. The
remaining imbalance is explained should we have considerably overestimated the vertical
diffusive transport in our standard case. As shown in our sensitivity tests, our mixed-layer
model is rather insensitive to whether the vertical transport into the mixed layer is dominated
by entrainment or diffusion, as long as their-sum is more or less constant. If we assume that
vertical diffusion in the upper ocean is small throughout the year, consistent with
microstructure measurements and tracer experiments (see Subsection 6.3), and if
entrainment is then increased in the model to preserve approximately the same vertical
transport as our standard case, the annual budget for the mixed layer is not significantly
affected, as pointed out by a sensitivity test (see Subsection 8.1). The vertical transport of
carbon into the euphotic layer, however, is reduced because entrainment transports carbon
into that layer only when the mixed layer is extending below it. Thus our calculations of air-
sea exchange and vertical transport for the euphotic layer are too uncertain to distinguish our
budget estimates for this layer from those of the fixed surface layer of the three-dimensional
transport model.

In either case there is indication that lateral transport, missing from our one
dimensional calculations, together with biological processes remove DIC from the surface
mixed layer on the annual timescale. The question arises also, whether lateral advection
may have a significant impact on the seasonal carbon cycle at Station S. Michaels et al.
(1994b) argued that in order to account for the discrepancy in their carbon balance figures
for the top 150 m at station BATS from April through December, sediment traps have
severely undercollected the downward flux of POC and/or horizontal advection has
contributed significantly to the seasonal carbon cycle near Bermuda. At present, we can
only speculate because we lack more information about the circulation patterns and the
spatial distribution of DIC and 13§ in the vicinity of Bermuda. In order to explain the
seasonal drawdown of carbon resulting only from physical processes, advection would need
to have a very negative isotopic signature, similar to that of organic carbon. Sparse
information about the spatial distribution of 138 in the North Atlantic (unpublished data by
C. D. Keeling and coworkers) does not show strong gradients in 138 required to generate
such an isotopic signature. We therefore tentatively conclude that advective transport plays
a significant role for the annual carbon balance at Station S near Bermuda, but only a minor
role in determining the seasonal signal.
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9. SUMMARY AND CONCLUSIONS

The seasonal cycle of DIC in the surface waters near Bermuda is only partially a result
of biological processes. To determine the rate at which DIC is converted to organic carbon
via photosynthesis and is regenerated by oxidation of organic matter, observed changes in
DIC must first be corrected to account for transport processes that alter the DIC
concentration, including air-sea exchange, vertical diffusion, and entrainment.

We have estimated in situ biological exchange (defined as positive when DIC
increases) in two ways; first from changes in the 13C/12C ratio of DIC that are caused by a
large difference in isotopic ratio between photosynthetic carbon and DIC, and second by
subtracting model calculated rates of change in DIC concentration from observed rates. The
two approaches give similar results after correcting the 13C/!12C signal of DIC for isotopic
fractionation associated with the same processes that influence the DIC concentration,
confirming the consistency of our approach.

The resulting net biological exchange flux by either model is approximately equivalent
to the negative of net community production. Over the year, if interannual variations are
negligible, net community production is equal to new production, and also to the export of
organic matter out of the water layer under consideration.

We made use of empirical relationships to estimate the contributions of air-sea
exchange, vertical mixing and entrainment, and incorporated them into a seasonal box
model of the mixed layer. Given the uncertainties in the calculations, the agreement in the
mixed layer between the modeled and observed seasonal variations of DIC normalized to
constant salinity (sDIC) is satisfactory, although modeled sDIC failed to close exactly over
the annual cycle. We deduced that air-sea exchange and vertical transport each add about
21 gC m2 yr! of CO, to the mixed layer. We infer that net community production removes
11 gC m2 yr! over the year. This is a result of a net removal of 19 gC m-2 during the
shoaling period from February to July and a net gain of 8 gC m2 during the deepening
period. Sensitivity analysis shows that our estimate of net community production depends
strongly on the magnitude of the isotopic fractionation during air-sea exchange, and to a
lesser, but significant, degree on variations in the magnitude of the vertical transport
processes. From separate computations of uncertainties of about 30% for air-sea exchange
and about 50% for vertical transport, we conclude that our approximation of net community
production has an uncertainty on the order of 50%. Our estimate of air-sea exchange of 21
gC m-2 yr! is about midway between the estimate of 30 gC m2 based on atmospheric CO,
gradients (Keeling, Piper, and Heimann 1989b), and of 15 gC m-2 based on regional North
Atlantic pCO,, data (Tans, Fung, and Takahashi 1990), but substantially higher than set
forth by Bates (1996) for the nearby BATS station. We cannot resolve these discrepancies
without more information. The rather large errors in our calculation of air-sea exchange
could be reduced considerably by resolving the discrepancy between our calculation of
oceanic CO, partial pressure using thermodynamic constants and the direct measurement of
partial pressure using gas equilibrators, a task that is under way in our laboratory.

To compare our estimate of net community production for the mixed layer with several
previous calculations of new production and of downward export of particulate and
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previous calculations of new production and of downward export of particulate and
dissolved organic matter, we estimated net community production for the euphotic layer.
Based on limited evidence from the vertical distribution of net primary production and the
assumption of a constant ratio of net community production to net primary production
within the euphotic layer, we extrapolated our estimate for the mixed layer to the whole
euphotic zone. We obtained a tentative estimate of 18 gC m-2 yr-1, which is on the low side
of estimates based on net downward export of total organic carbon, and of particulate
nitrogen measured by sediment traps and water-column inventories, but which agrees within
the uncertainties of these estimates and of ours. Our euphotic net community production,
however, is significantly lower than estimates of new production based on oxygen and noble
gas measurements and on modeling studies.

Our calculated carbon fluxes for the mixed-layer sum to a net gain of 28 gC m2 yr-!
for the mixed layer, in good agreement with the value of 27 gC m-2 yr-! derived from
observations of the seasonal cycles of the mixed-layer depth and of DIC. This apparent gain
is balanced by an equal loss term associated with the variable mixed-layer depth, because
the mixed layer shoals when the concentration of DIC, on average, is higher than when it
deepens. To establish the carbon balance for the whole euphotic layer, assumed to have a
constant depth of 100 m, we compared our findings with predictions of the three-
dimensional ocean tracer transport model of Bacastow and Maier-Reimer (1991). This
shows lateral transport, missing in our calculations. That model predicts that this transport
removes approximately 7 gC m2 yr! from the upper 115 m near Bermuda supporting the
hypothesis of Michaels et al. (1994b) that horizontal advection may contribute significantly
to the carbon cycle near Bermuda. Including this transport into our budget for the whole
euphotic layer leaves an imbalance of 11 gC m-2 yr} which, however, disappears, if our
estimate of the gain in CO, from air-sea exchange is too high, and/or the dominant vertical
transport process is entrainment and not vertical diffusion.

Compared to relying on short-term discrete measurements of organic production (e.g.
by incubation using radiocarbon) our integrative geochemical approach is not sensitive to
short-term variations in biological activity. Therefore our estimate of net community
production of 11 gC m-2 yr! in the mixed layer should not be biased on the low side by
suspected short phytoplankton blooms. Our method is also not dependent on. any
assumption about the magnitude and variability of the photosynthetic quotients or of the
Redfield ratios for carbon, oxygen, and nutrients. The strength of our analysis comes from
using six years of sufficiently closely spaced data to establish reliably the average seasonal
carbon cycle at Station S, or at least the most reliable seasonal cycle yet obtained anywhere
in the world oceans. Our model predictions are, however, restricted to the surface mixed
layer. Adequate measurements of the seasonal cycle of DIC concentration and '3C/!2C ratio
below this layer would allow the carbon balances for the whole euphotic layer to be
established and would reduce errors considerably in calculating vertical transport, and thus
net community production.

In our study we did not address the problem of how the phytoplankton in the mixed
layer meet the nutrient requirements for supporting our estimated net community
production. The observed nutrient concentrations in the mixed layer and estimates of
nutrient transport into the mixed layer are too low to support our estimate of net community
production if the standard Redfield ratios are applied. We confess that we still do not
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understand the nutrient cycles in these oligotrophic regions and possible adaptations of the
plankton communities to these environments.

Chemical measurements near Bermuda, which still continue, offer the possibility to
look not only at the seasonal carbon cycle but also at longer-term variability. Our analyses
of the average seasonal cycle should help in interpreting such records, including the
influence of the build-up of industrial CO, and climatic variability. Our results for Station
S in the Sargasso Sea, although not shown to apply to large regions of the world ocean, are
perhaps sufficiently representative of the North Atlantic central gyre to provide a first direct
estimate of the average seasonal cycle of carbon in this broad and important subtropical
region.
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APPENDIX A
FORMULAS FOR THE SEASONAL MODEL

A.1 AIR-SEA GAS TRANSFER

We parameterize the CO, gas-exchange flux across the air-sea interface, F,,, in mol
m-2 51, between the atmosphere and the mixed layer by means of the boundary-layer model
of gas exchange (cf. Deacon 1977) given by equation (11) in the main text. The flux, F,,,
is a function of k,,, the gas-exchange coefficient, in units of mol m-2 s patm-l. It is also a
function of pCO,,,,, the partial pressure of CO, in the atmosphere just above the surface,
and of pCO,,,, the partial pressure in the ocean immediately below. Both pressures are
approximated by corresponding mixing ratios in parts per million by volume of dry air

(ppm) (Heimann and Keeling 1989, 253-4).

The gas-exchange coefficient k,, is evaluated at each time step as the product:
‘ kex(t-l) = Pv(t-l)as(t—l)Po’ (Al)

where P, denotes the piston velocity, in m s-1; o, the solubility of CO, in seawater, in mol
kg1 patm-1; p,, the density of seawater, in kg m-3. The density, p,, is set equal to a nominal
constant value of 1026.2 kg m-3 (see Table 2), equal to the density of seawater with a salinity
of 35 and a temperature of 20°C.

We compute o, according to the expression of Weiss (1974)

T, (
In(o(t)109) = -60.2400 + 317 533585 1 Lo L)
T, () 100 (A2)
T, (t T, ()
+8,, 10.023517 - 0.023656 Loc L) 60047036 [#f—l)—] }
100 100

where T,.(t,) denotes the sea-surface temperature, here expressed in degrees Kelvin
(degrees C + 273.15) at the beginning of the time step, and S, the salinity, is assumed to be
constant (see Table 2).

We evaluate the piston velocity, P,, as a function of wind speed according to the
formula of Liss and Merlivat (1986) in a version parametrized by Heimann and Monfray
(1989) thus:

Plta)= (A3)
Y 2 n
60000 | 017 @ (Ted) 7 - Unglt) +2.68 (Uyf,) - 3.6) -<ocp(71,c»2},

where U|¢(z.;), in m s-1, denotes the wind speed at 10 m above the sea surface. The first term
of equation (A.3) reflects the dependency of the piston velocity on the wind speed for
smooth surface conditions. The second term expresses the enhancement of the velocity
caused by the presence of capillary waves at wind speeds greater than 3.6 m s-! but less than
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13.0m s'1. The expression is deemed valid for wind speed between 3.6 and 13.0 m s-!. Thus
it extends over the full range of averaged wind speeds listed in our Bermuda data set.

The term (T, expresses the temperature dependency of P, and was evaluated
according to the formula of Heimann (personal communication) thus:

Sc(T,.)
600

-1
10-6.706 + 1966T0€’ (A4)

ay(T,) =
where the Schmidt number, Sc, is defined as the quotient of the kinematic viscosity of
seawater and the coefficient of molecular diffusion of the gas, both quantities here taken to
be functions of the temperature, 7,.(r;). The velocity, P,, in equation (A.3) is adjusted to
the global annual average radiocarbon uptake by the ocean by a constant factor, vy, set equal
to 1.7447 as recommended by Keeling, Piper, and Heimann (1989) and Watson (1993, 410).
With this adjustment, k,, was computed to fall in the range 0.6 to 2.6-10-° mol
m2s1 patm! compared to a global average of 2.1-10- (1.8106-10-4 mol m-2 day-! ppm-1)
quoted by Heimann and Keeling (1989, 254).

To calculate the change in the salinity-normalized concentration of DIC in the mixed
layer that causes the gas-exchange flux, AsDIC,,, in mol kg1, we assume the CO, flux over
each time step to mix homogenously throughout the layer, i.e.:

F, (0 At

AsDIC, (t) = ——— ,
exlf) MLD(t ) - p,

(A5)

where At denotes the time step in seconds, MLD(¢) the mixed-layer depth, in m, and p,, the
density of seawater, having the same constant value as in equation (A.1).

The 13CO, air-sea transfer rate is computed independently of the corresponding flux of
13CO, + 12CO, by the formula given by equation (12) in the main text. In terms of 133 ratios:

*Fex(t-l) = kex(t-l)Rsaam [pCOZIztm(t~1) (138atm(t-1) + 1) -

Lef(£.PCO(L) (3,1 +1) ], (A.6)
where, as in the main text, *F, (¢) denotes the flux of 13C in mol m2 s-1, R, the 13C/(12C +
13C) ratio of the isotopic standard PDB and ¢, the 13C/12C fractionation factor for CO,
uptake by the surface ocean water, assumed to be constant. In addition, 13§, denotes the
reduced 13C/12C ratio of CO, in the atmosphere and 133, the corresponding ratio of sDIC.
The equilibrium isotopic fractionation factor for gaseous CO, with respect to total DIC (i.e.

DI'3C and DI'2C), denoted by o,,, is assumed to vary with temperature.

The fractionation factor of gaseous CO, with respect of HCO;, o, has been directly
measured (Mook, Bommerson, and Staverman 1974, 175). Because total dissolved
inorganic carbon consists of about 85% HCO,, and the fractionation factors for the
remaining inorganic carbon species are nearly the same as for HCO7, we neglect the small
influences of these on the isotopic equilibrium and equate o, with o, i.e.

9.483

AT
T, 7

QL (1) = o) = 1.02389 -
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where T,. denotes the sea-surface temperature in degrees Kelvin as in equation (A.2). A
more complete description of the derivation of these formulas is given in Heimann and
Keeling (1989).

The 138 value of F,,, the gas-exchange flux, we denote by the reduced ratio, 138, .
It is evaluated (cf. equation (1) of the main text) by the expression:

0

13 -
Omeced = T TR )

-1, (A.8)

where *F,/(F,, - *F,,) expresses the 13C/12C ratio, r, of the flux.

The change in 133, in the mixed layer from the gas exchange, A138,,, is evaluated by
assuming, as for DIC, that the flux of 13C + 12C, summed over one time step and having the
reduced ratio, 138, ,,, is mixed throughout the layer.

Using the additivity rule (equation (5) in the main text) the change in 133, in the mixed
layer from the gas exchange is:

AsDIC, (1) ("8, (&) - 38, )

ABS (1) = , (A.9)
ex sDIC(t ;) + AsDIC, (1)

where 13§ ,(z.;) denotes the observed 138 of sDIC in the mixed layer at the beginning of the
time step and sDIC(z ;) the corresponding value of sDIC.

A.2 VERTICAL TURBULENT DIFFUSIVE TRANSPORT

The vertical turbulent diffusive flux of DIC, F difp in mol m-2s-1, is evaluated according
to equation (13) of the main text as the product of the vertical diffusion coefficient, K, in
m? 51, the vertical gradient in sDIC immediately below the mixed layer, (dDIC/dz)y,, in mol
kg! m-1, and a nominal seawater density, p,, in kg m-3. Coefficient K, in turn, is determined
as the product of a constant and the turbulent kinetic energy dissipation, €, in m? s-3, divided
by the square of the buoyancy frequency, N, in s-! according to equation (14). Following
Oudot (1989) we have chosen € to be equal to 2.0-10-8 m2 s-3, a value that is representative
for the upper thermocline at times of low wind speeds (Dillon and Caldwell 1980, 257). The
local buoyancy frequency, N, is calculated from the vertical density gradient (dp/dz)y, at the
base of the mixed layer. This gradient was computed separately for each station occupation
by the formula:

N= 2 [ () ] (A.10)
p( | dz |’

where g denotes the acceleration caused by gravity (9.81 m s'1) and p(#) the time varying
density in the mixed layer, calculated from the observed temperature and salinity (Millero et
al. 1980, 257).

The change in concentration of sDIC in the mixed layer over each time step due to
vertical turbulent diffusion, AsDIC 44, in mol kg1, is given by a formula similar to equation
(A.5):
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F e (0) At

it e (A.11)
MLD(.) p,

AsDIC (1) =

where F(f) denotes the diffusive flux in mol m2 s-1, Az, the time step in seconds, and p,, is
assigned the same value as in equation (A.1).

The flux of 13C, *F 4 into the mixed layer by vertical turbulent diffusion is computed
by an expression analogous to equation (7), i.e.:

*Fdi_ﬂ: Kz(t_l)(dBC/dZ)[b pm (A12)

where (d!13C/dz),, denotes the vertical gradient in 13C of DIC immediately below the mixed
layer, and K, is assumed to have the same value for 13C as for 12C + I3C.

The 138 value of Fyy, the diffusive flux, we denote by 1384, 4 it is defined in a
manner similar to 133g,, . (see equation (A.8)), i.e.:

*F . (f)
13 ) - diff - A13
Bﬂux digg D (Fy ® - *F () -7, 1. ( )

The change in 133 of DIC (caused by vertical turbulent diffusion, A!33 ) is computed
in a similar manner to A139,, (see equation (A.9)), i.e.:

AsDIC . (2) - (P8, i (1) - 138,(21))

(A.14)
SDIC(t ;) + AsDIC 1. (1

A138d,.ﬂ ® =

Because we lack observations of the vertical gradient of the 13C isotope as needed in
equation (A.12), we have chosen to calculate the 138 signature of the vertical diffusive flux,
138,.x ayfp directly from the observations of the vertical DIC and 133 gradients as follows. Let
sDIC, and 139, denote the concentration of DIC and the reduced isotopic ratio, respectively
at a short distance Az, below the mixed layer, with corresponding values in the mixed layer,
sDIC, and 133,. The gradients in sDIC and isotopic ratio in terms of the values just defined
are:

(8sDIC/dz)y, = (sDIC, - sDICy)/Az, (A.15)

and
(6138/dZ)lb = (1351 - 1360)/Azlb' (A.16)

The difference 139, - 13§, is related to the corresponding concentration difference, sDIC, -
sDIC,, assuming that sDIC with an isotopic ratio 138, s has been added to a pool of
inorganic carbon of concentration sDIC,, to increase its concentration to sDIC,. Calculating
the isotopic relationships for this increase by the additivity rule (equation 5), we obtain:

13845DICy + 1381, 4io(sDIC, - sDIC) = 138,sDIC,, (A.17)
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whence

(d"3d/dz),,
138, gir = 120, + —————— +sDIC,,, )
fuux dif 'Y @sDiCld), " (A1)
where we solved equation (A.17) for 138, ;- With substitutions from equations (A.15) and
(A.16) to eliminate 138, and sDIC, from the resulting expression.

In the limit that Az approaches zero, 138, approaches 13§, and

s (dB38/dz),,

g, YDy, (A-19)
flux diff 0 (dSDIC/dZ)lb ’ 0

Thus, 138, 4 can be determined knowing only the concentration and isotopic ratio of sDIC
in the mixed layer and their gradients immediately below. In the model computations,
equation (A.19) has been used directly to calculate 1384, 4 instead of equations (A.16) and
(A.14). Because both the DIC and 138 gradient are assumed to be constant (0.45 uM kg-!
m-! and -0.0021 %o m-L, respectively), and 138, and sDIC, vary only slightly, the resulting
isotopic signature of vertical diffusion, 1384, 4 is nearly constant (-7.9 %o).

A.3 VERTICAL ENTRAINMENT

Entrainment of water into the mixed layer from the submixed layer below occurs when
the mixed layer deepens episodically as a result of wind-induced turbulent stirring of the
upper ocean, or when cooling at the sea surface reduces the static stability of the water
column. In general, the associated flux of DIC into the mixed layer, F,,, is expressed as a
product of the instantaneous difference in the concentration of DIC across the base of that
mixed layer and the rate of increase, dMLD/dt, of that layer, which must be positive for
entrainment to occur (Phillips 1977). Because we lack data at Station S to estimate the
magnitude of the instantaneous difference in DIC, we have assumed that this quantity can
be approximated from the observed gradient in DIC in the thermocline below the mixed
layer. Thus, we replace the presumed discontinuity at the base of the mixed layer by an
assumed continuous profile below the mixed layer, the latter having a gradient (dDIC/dz)y,,
which is constant in time and depth during the period under consideration. We further
assume that entrainment occurs as a series of episodes during which the mixed layer
abruptly increases in depth. It follows that the average difference in DIC during one episode
of entrainment is:

(A.20)

ent’

ADIC,,, = —;—(dDIC/dz)leMLD

where AMLD,,, denotes the increase in depth. If the next episode of entrainment takes place
after a recurrence interval, At,,,, the flux of DIC averaged over this interval, F,,, is

-1 AMLD?
F, = > (dDICldz),, ———=— . (A21)

(2
)El’lt
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Because the mixed-layer depth is expressed in the model by a slowly varying, two-
harmonic function, the increase in depth, AMLD,,,, is roughly proportional to At,,, over the
relatively short time intervals that comprise a few successive episodes of entrainment.
Therefore, the flux, F,,, by equation (A.21), tends to increase in direct proportion to At,,,
and cannot be set arbitrarily, for example, as equal to the model time step, At.

The prorated effect of entrainment for a single time step, say from ¢ ; and ¢, is assumed
to involve a period of entrainment beginning at a time:

Lyre = 1= Aty d2 - AI12, (A.22)

and ending at

lpost =1+ At 42 - Atf2, (A.23)

where the episode is centered, as is the time step, at time (¢ - A#/2). For each additional
proration step, the time of entrainment is assumed to shift forward by one time step, At. The
change in depth of the mixed layer during an episode of entrainment is computed by the
expression:

AMLD,,(t) = MLD(1,,5)) - MLD(,,,). (A.24)

tpost

The average concentration of sDIC in the water parcel incorporated into the mixed
layer during an episode, sDICy(#), is computed from (dDIC/dz);,, by the expression:

1
sDICy(t) = sDICy(t,,,) + - * (dDICIdz)y,* AMLD,, (), (A.25)

where sDIC(z,,,) denotes the sDIC concentration in the mixed layer at the beginning of the
entrainment episode.

The sDIC of the mixed layer after an episode of entrainment, sDIC(z,,,,), is computed
assuming that entrained water mixes completely with water of the mixed layer, neglecting
changes in sDIC by any other process, i.e:

sDIC(1,,,) MLD(t,,,) + sDIC,,(1) AMLD,, (
sDIC(t,,.) = Uyre) VLD, 50 e (A26)
p MLD(,,,) + AMLD,,(t)

The prorated change in sDIC entrainment during a single time step is therefore given by

(sDIC(2,,,,) - sDIC(z

pre
At

ent

oSt

) At

AsDIC,, (1) = (A27)

The 138 of DIC in the water parcel incorporated during the time step, 13§, (cf. equation
A.25), is evaluated by:

1
B8, = U8t + > - (dB8/dz),,- AMLD, (o), (A.28)

54



Gruber and Keeling: Seasonal Carbon Cycling

where 133(z,,,) denotes the reduced isotopic ratio of sDIC in the mixed layer at the beginning
of the entrainment episode and, as in the case for DIC, (d'36/dz);;,, the vertical gradient in 13§
of DIC in the layer of water immediately below the mixed layer, is assumed to be constant
in time. The 13§ of DIC in the mixed layer after an episode of entrainment, 135(z,,,,), is
computed assuming, as in equation (A.26), that entrained water mixes completely with
water of the mixed layer neglecting changes in 138 by other processes. Hence,

B38(t, )PROD(t, ) + 1*8,(t) PROD()

B8t = L pre , (A.29)
post PROD(t,,,) + PROD(1)
where
PROD(t,,) = sDIC(t,, JMLD(t,,,), (A.30)
and
PROD(t) = sDIC,(HAMLD.,, (t). (A31)

The prorated change in 133, by entrainment during a single time step (cf. equation (A.27))
is given by:

13
B 6(tpre
At

ent

13
A, = oo Do) B (A32)

The entrainment flux, F,,,, is computed by equation (18) of Subsection 6.6 of the main
text, using the value of AsDIC,,, given by equation (A.27).
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APPENDIX B
THREE-DIMENSIONAL GLOBAL OCEAN TRACER
TRANSPORT MODEL OF BACASTOW AND
MAIER-REIMER (1991)

We made use of the results of a three-dimensional ocean carbon model for estimating
vertical gradients of DIC and its isotopic ratio below the mixed layer ([dDIC/dz),, and
[d138/dz]y,). We also used this model to compare the flux estimates of our seasonal box
model with those of a higher order model.

This three-dimensional model employs the circulation field of a 10-layer seasonally
averaged global circulation model obtained from the Max Planck Institute of Meteorology,
Hamburg, Germany, with a resolution of 5° x 5°, i.e. about 550 km near the equator. The
carbon cycle model is as described by Bacastow and Maier-Reimer [1990], except that
vertical convection is parameterized by diffusion, and a cycle of dissolved organic carbon is
included, as described by Bacastow and Maier-Reimer [1991]. The version of the model
used is nonseasonal with a surface layer 115 m deep. For our computations we used the
results for the 475 by 550 km grid box encompassing Bermuda.

From a pair of runs of the model from the year 1740 to 1985 (Bacastow, private
communication), the component gradients of the marine carbon cycle were estimated from
the model predictions of the three-dimensional fields of DIC and 138. Two model runs, A
and C, were first spun up to 1740. These differ only in that A refers to an ocean with no
biota (cf. Broecker and Peng 1982) while C retains a biota. Both were set to be in
equilibrium in 1740 with a well-mixed atmosphere of 280 ppm CO,. Afterward, the model
runs were continued with the addition of fossil fuel CO, to the model atmosphere, according
to estimates based on historical data by Keeling et al. (1989). A biota source resulting from
land clearing was adjusted so that the modeled increase of atmospheric CO, matched the
observations from ice core data and direct measurements by a procedure called
deconvolution (Keeling et al. 1989, 195 and Appendix D, therein). The runs, extended to
1985, take model run A to B, and run C to D.

Gradients of 138 and DIC in model-run A result exclusively from temperature-
dependent solubility of CO, (the solubility pump) and from temperature-dependent
fractionation. The changes in the gradients caused by the buildup of fossil fuel (the Suess
effect) were estimated for both runs B and D by calculating the difference between the
results for 1740 and 1985. The effect of the ocean biota was similarly calculated by the
difference between model runs A and C for 1740 or between runs B and D for 1985. The
differences between the estimates of the effect of the ocean biota in the absence or presence
of the Suess effect and, similarly, the differences between the estimates of the Suess effect
in the absence or presence of the ocean biota, are both small. This confirms that the three
processes influence the fields of DIC and 13 in the three-dimensional model nearly
independently. These nonseasonal predictions cannot, however, be directly compared to the
actual gradients below the mixed layer at Station S because of its variable depth. We
weighted the computed overall gradient between the first two levels (centered at 56 and 156
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m depth) by 47.6% and the gradient between the second and third level (the latter centered
at 275 m) by 52.4% in order to match the observed overall gradient of 0.45 pM kg-! m-1.
The same prorating factor was then applied to determine the corresponding isotopic
gradients. The computed overall gradients and the gradients of the individual components
are shown in Table 3.
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APPENDIX C
SENSITIVITY TESTS

C.1 INTRODUCTION

Here we present details of the results of sensitivity tests carried out using our model of
the seasonal cycle of carbon in the waters near Bermuda. These tests are summarized in
Subsection 8.1 of the main text. They are with respect to a standard case defined by the data
presented in Tables 1, 2, 4, and 5 and discussed in Section 7.

C.2 AIR-SEA GAS TRANSFER

To test the sensitivity of our calculations to errors in the gas-exchange coefficient, k,,,
we varied the factor, y, which adjusts by a constant the relationship between wind speed and
piston velocity, originally specified by Liss and Merlivat (1986). When vy varies between 1.0
and 2.0 the net uptake of atmospheric CO, by the mixed layer, F,,, integrated over the
annual cycle varies, respectively, between 12.3 and 24.6 gC m2 and the net biological
exchange flux of carbon, F;;,, over the annual cycle varies by almost the same amount, from
-1.8 to -13.7 gC m2 (shown in Table 6). Thus the model predicts that whatever error exists
in computing the air-sea flux is almost directly passed on as an error in net community
production. With respect to the standard case (y equal to 1.74), the lack of closure of
sDIC. . over the annual cycle (see Subsection 5.2, above) is slightly worse than the standard
case using the factor 2.0, still worse using the factor 1.0 (see Figure 14).

As noted in Section 4, above, intercalibrations with direct measurements of pCO,,,.
indicate that our data, computed from temperature, salinity, dissolved inorganic carbon, and
alkalinity measurements using thermodynamic relationships, if not corrected, would be
about 10 ppm too high (Lueker et al. submitted manuscript). As a sensitivy test we increased
pCO,,. in the mixed layer uniformly over the whole seasonal cycle by 10 ppm to restore the
originally calculated values. This adjustment decreases annual F,, from 21.4 gC m-2 in the
standard case to 14.9 gC m-2, while annual F,;, decreases from -10.7 gC m-2 to -7.6 g€C m-2
(Table 6). Annual F,,;, decreases in absolute magnitude by only about half of the decrease
in F,, because of an associated isotopic adjustment. The lack of closure of sDIC,,;. over the
annual cycle in the standard case (-1.8 umol kg-!) is made considerably worse (-7.4 pmol
kg1), because the reduced uptake of DIC in the water by gas exchange is only partially
compensated for by decreased removal of carbon by biological exchange.

To test the sensitivity of the model to the degree of seasonality in air-sea exchange, we
kept the gas-exchange coefficient, k,,, constant over the annual cycle. We chose a value (see
Table 6) such that annual F,, remained the same as for the standard case, and thus slightly
higher than is consistent with the global mean gas-exchange rate of Heimann and Keeling
(1989) of 2.0956 - 10-mol m-2 s-! ppm-1, based on observations. Annual F,;, increases from
-10.7 g€ m2 to -15.9 gC m-2 (Table 6). The difference in extreme values of F, over the
annual cycle increases from 0.164 gC m2 day-! to 0.200 gC m2 day-!, as a result of a greater
release of CO, to the air during summer. As shown in Figure 14, this sensitivity test results

in a very poor closure of sDIC,;,.
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We also investigated the importance of seasonal variations in temperature of the
surface mixed layer, T, as it applies to the equations governing air-sea exchange, including
those involving isotopic fractionation. We retained the representation of pCO,,. given by
the harmonic function prescribed in Table 1, however. Thus, the sensitivity of pCO,,,. to
temperature variations is not included in this test. If 7, for the whole year is set equal to
the average observed temperature (23.03°C) in equations (A.2), (A.3), (A.4), and (A.7) of
Appendix A.1, annual F,, increases only slightly from 21.4 gC m2 to 21.5 gC m2. Also,
annual F,;, is only slightly changed.

An additional sensitivity test was carried out to clarify the importance of isotopic
fractionation during air-sea exchange. The most critical of these factors is the extent of
isotopic disequilibrium at the air-sea boundary brought about by the oceanic absorption of
CO, from fossil fuel combustion (Suess effect). If the temperature, 7., in equation (A.7) is
set equal to the average observed value of 23.03°C, the equilibrium fraction factor, Clpgs is
found on average to be 0.99187. At isotopic equilibrium,

0(eq = Tam / Toc (Cl)

Hence, in view of equation (1);
Olpg = (138, + DI(136,. + 1). (C.2)

Thus, in the absence of the Suess effect, and disregarding seasonal variations, the reduced
isotopic ratio of atmospheric CO, at Station S, 13§,,,, would tend toward the equilibrium
value -6.615%o rather than -7.700%o, as determined from observations and assuming that
133, has the value 1.527%o (see Table 1). If we neglect the Suess effect in the model by
making 133, less negative by 1.085%., annual F,;, is drastically reduced from
-10.7 gC m-2 to 0.7 gC m-2. Because there are no changes from the standard case for the
fluxes of the other three processes, the closure of sDIC,,,. over the annual cycle (16.5 pmol
kg-1, see Figure 14) is very poor.

Neglect of the Suess effect has a further curious consequence. Two small cusps occur
in the curves of AsDIC,,; /At and F,, (Figures 9, 10, 12, and 13) on days 172 and 272 in the
standard case. (The first cusp is, however, too small to see in the plots.) On these two days
the CO, partial pressure difference at the air-sea boundary momentarily becomes zero. The
two cusps reflect that even though this is the case, the pressure differences of the individual
species 13CO, and 12CO, are not zero, as they would be if an isotopic equilibrium prevailed.
The actual pressure differences are almost surely too erratic for such a transient isotopic
disequilibrium ever to be apparent in observations, but because input data are smoothed in
our model calculations, small abrupt changes in the time rate of change in AsDIC; /At and
F},, arise from the opposition of these two isotopic air-sea fluxes. When the Suess effect is
removed from the calculations, these cusps disappear.
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C.3 VERTICAL TRANSPORT

The importance of a correct estimation of the upward flux of DIC into the mixed layer
by diffusion is seen by performing a calculation in which AsDICis set equal to zero. The
net biological exchange flux, F,,,, becomes less negative (or more positive) throughout the
year (see Table 6) with a net value over the annual cycle of -4.2 gC m2 instead of -10.7 gC
m-2. Doubling the diffusive flux throughout the year has an equal but opposite effect (annual
Fp,;, of -17.2 gC m-2). ‘The very poor closure of the annual cycle of sDIC,,,, in opposite
directions for those two extreme cases, suggests that our chosen rate is nearly correct.

In the standard case the recurrence interval of entrainment was set to be 8 days on the
basis of only very limited direct information. Changing the entrainment recurrence interval,
At,,;, has an almost proportional effect on the entrainment flux, F,,,. Because the annual
effect of this flux is small, however (3.2 gC m-2), changing the interval of entrainment

during deepening to 4 or 12 days has only a minor influence on the model predictions.

To test the hypothesis that the predictions of our model are sensitive to the magnitude
of vertical transport, irrespective of whether this occurs by vertical diffusion or entrainment,
we assumed a low diffusion coefficient and adjusted the entrainment recurrence interval,
At,,,, in a manner that the combined vertical transport was of the same magnitude as in the
standard case. We chose a value of 0.1-104 m? s-1 for the vertical diffusion coefticient, K,
in accordance with a recent estimate by Ledwell, Watson, and Law (1993) and adjusted At,,,
to 60 days. In this test, the annual diffusive flux, F, diff decreases to 1.7 gC m-2, whereas the
annual entrainment flux, F,,,, increases to 15.8 gC m2, summing to a combined annual
vertical transport of 17.5 gC m-2 in comparison to 18.3 gC m-2 in the standard case. Annual
F,,;, changes very little as a result of opposing changes during the shoaling period and the
deepening period. The lack of closure of sDIC,,;. over the annual cycle is almost the same
as for the standard case and the shape of the annual curve of sDIC is similar to that of the
standard case (cf. Figure 14).

Because our estimate of the observed vertical gradient of 138 below the mixed layer,
(d'38/dz)p, is very uncertain, we employed in our standard calculation an estimate derived
from the three-dimensional ocean transport model of Bacastow and Maier-Reimer (1991),
as described in Appendix B. The model prediction is -0.0021%0 m-!, whereas the average of
four vertical profiles indicated a gradient of approximately -0.003%0. m-! (see Section 6.3).
Substituting this latter value for the model estimate increases annual Fj;, from
-10.7 gC m2 to -14.1 gC m-2, with nearly equal contributions to the differences from the
standard case for shoaling and deepening. The lack of closure of sDIC_;. over the annual
cycle worsens from -1.8 uM kg-! for the standard case to -5.4 pM kg-L.

Our determination of the mixed-layer depth assumes a constant difference, AG,
between the density of seawater at the sea surface and the density, which demarks the
beginning of the pycnocline below, according to the criterion of Levitus (1982). As noted
earlier, this criterion leads to estimates of depth in good agreement with subjective estimates
for most of the annual cycle. Sometimes, however, during the shoaling period, no distinct
pycnocline could be seen. The estimate of the depth is then arbitrary. In sharp contrast to
the gradual deepening process, shoaling appears to have been highly erratic, with the mixed
layer shifting up and down rapidly, as seen in the time series that we proposed as the basis
for Figure 2.

61



Bulletin, Scripps Institution.of Oceanography

The use of a harmonic fit tends to smooth out this variability and, by describing a
gradual shoaling, prescribes the mixed layer to be deeper during May and June than is
indicated from the individual density profiles. As a sensitivity test we fitted the seasonally
composite data for mixed-layer depth with a polynomial hermite spline, forced to describe
a rapid shoaling in April, as shown in Figure 15. The rates of change in concentration,
AsDIC; /At, previously shown in Figure 9 for the standard case, are shown based on the
Hermite fit in Figure 16. The assumption of a shallower mixed layer in May leads to large
increases in all of the calculated fluxes, except for entrainment, modeled to be zero during
shoaling.

As a second sensitivity test we challenged our harmonic fit to the individual estimates
by increasing the mixed-layer depth by 30 meters throughout the year. As seen in Figure 2,
the original fit to the data falls short of reproducing the envelope of extreme mixed-layer
depths in autumn and winter. The relatively short periods in which the mixed layer is
temporarily deeper than the trend curve determined by the harmonic fit, may cause most of
the vertical transport because of the greater turbulence and vertical mixing required to
produce extreme depths. By increasing the mixed-layer depth in the model by 30 meters
throughout the year the adjusted harmonic fit comes considerably closer to matching these
deeper events, although it considerably exaggerates the depth in the summer. Annual Fy;,
decreases only slightly from the standard case. The lack of closure of sDIC, ;. over the
annual cycle was worsened slightly from -1.8 pM/kg to -4.1 uM/kg.

C.4 BIOLOGICAL EXCHANGE

We estimated the uncertainty in o, from the observed variability of the 133 of marine
phytoplankton. Over the temperature range found at Bermuda (18 - 28° C), Rau, Takahashi,
and Des Marais (1989) reported a variation of 133, of  2%.. We included the possibility
of an overlooked small fractionation of +1%o during respiration, thus resulting in an overall
uncertainty in o,,, not likely to exceed + 3%o. A fractionation greater by 3%c (Qt,,, - 1
changed from -22.0%o0 to -25.0%0) negligibly decreases the net biological exchange flux,
Fy;,, over the annual cycle from the standard case with only slightly greater differences for
times of shoaling and deepening (see Table 6). As expected, a lesser fractionation by 3%o
has essentially an opposite effect. No other calculated fluxes are affected by this isotopic
parameter. Evidently, uncertainty in o, introduces only small errors in the model
calculation of net community production.
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TABLE 1

Harmonic fitting coefficients of equation (7)

Parameter* So a; a, b, R?
Temperature (°C) 23.034 -3.526 0.546 0.262 0.978
sDIC (uM kg1) 2029.86 14.52 1.76 1.11 0.941
133, (%) 1.527 -0.096 -0.026 0.004 0.621
138, (%0) -7.700 -0.2385 0.1013 -0.035 -

pCO,,. (ppm)T 324.86 -22.27 8.31 5.17 0.958
pCO,,,., (ppm) 348 3.304 -1.365 0.494 -

Mixed layer depth (m) 70.840 47.298 18.759 -4.243 0.716
K, (104 m2 s'1) 0.868 0.949 0.133 -0.397 0.674
Wind speed (m s1) 7.173 0.764 0.057 -0.279 0.984

* For definitions of symbols see Table 2.

T pCO,, reduced by 10 ppm from original calculation (see Section 4).
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Table 2

Input data to the seasonal model

Parameter

Value or Range

Source of Data

Temperature of mixed layer (7,,.)

Average Salinity (S,)

DIC of mixed layer normalized to S, (sDIC)
133 of DIC of mixed layer (133,,)

13§ of atmospheric CO, (135,,,,)

133 of phytoplankton in mixed layer (133,,,)

pCO, at the sea surface and in the mixed layer

(pCO2()c)
pCO, of atmosphere (pCO, ,,,)

Mixed-layer depth (MLD)

Gas-exchange coefficient (k,,)

Vertical diffusion coefficient (K)

Average density of seawater in mixed layer
Photosynthetic fractionation factor ()

Atmospheric CO,/oceanic DIC equil.
fractionation factor (o)

18 - 29°C

36.452

2000 to 2050 pmol kg1
1.3 to 1.8%o

-7.25 t0 -7.95%0

-20.7 to -20.3%o0
290 to 390 ppm

340 to 355 ppm

15t0270 m

0.6x10% to 2.6x10°?
mol m2 s-1 patm-!
5%10-6 to 5x10-4 m? s-!

1026.2 kg m-3
0.97805 to 0.97745

0.99144 to 0.99236

Observed, two harmonic fit (see Table 1)
Observed, average value of time series
Observed, two harmonic fit (see Table 1)
Observed, two harmonic fit (see Table 1)
Observed at La Jolla for 1987, two harmonic fit
(see Table 1)

Rau et al. [1989] (see equation (17a))

Observed, two harmonic fit (see Table 1)

Observed at La Jolla for 1987, two harmonic fit

(see Table 1)

Observed, three harmonic fit (see Table 1)

Calculated from wind speed, gas solubility and
density of sea water (see equation (A.1))

Calculated from vertical density gradient immediately

below the mixed layer, three harmonic fit

From observations
Rau et al. (1989) (varies with [CO,]
see equation (17a))

Mook et al. (1974, 175)

aq
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Table 2 (continued)

Parameter Value or Range Source of Data
Air-sea kinetic fractionation factor (a,,,) 0.99820 Keeling et al. (1989, 189)
BC/(13C + 12C) of standard (R,) 0.011112328 Heimann and Keeling (1989, 261)
13C/12C of standard (r,) 0.0112372 Mook and Grootes (1973, 296)
Vertical DIC gradient} (dDIC/dz)y, 0.45 pmol kg1 m-! Estimated from vertical profiles of DIC
Vertical 130 gradientt (d138/dz)y, -0.0021%¢ m-! Estimated from three-dimensional model of Bacastow and
Maier-Reimer (1991)
Wind speed at 10 m (Up) 4t09ms! Musgrave et al. (1988) Monthly average wind speed two

harmonic fit
Piston velocity adjustment factor (g) 1.7447 Keeling, Piper, and Heimann (1989, 316)

T z positive downward.
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TABLE 3
Vertical DIC and 133 gradients below the mixed layer as calculated by the three-dimensional ocean-tracer
transport model by Bacastow and Maier-Reimer (1991)
(see Appendix B for details)

Processes (dDICldz),, (d13d/dz)y,
[mol kg1 m1] [% m1]
Temperature dependent fractionation and CO, solubility 0.16 0.0004
Buildup of industrial CO, (Suess effect) -0.07 0.0014
Remineralization of organic matter 0.36 -0.003%
Overall gradients 0.45 -0.0021
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TABLE 4

Local changes in concentration of the inorganic carbon system in the mixed layer at Station S*

Time Period

Process
Anmnual Shoaling} Deepening
(gC m3) (gC m3) (g€ m?)
Inferred from model:
Biological exchange, AsDIC,,, -0.418 -0.294 -0.124
Air-sea gas exchange, AsDIC,, 0.156 0.098 0.058
Vertical diffusive transport, AsDIC 0.199 0.120 0.079
Vertical entrainment, AsDIC,,, 0.040 0.000 0.040
Calculated sum of components -0.022 -0.075 0.053
Observed from the seasonal cycle of sDIC:
Sum of components 0.000 -0.169 0.169

* Positive values indicate fluxes into the mixed layer.
1 From 19 February to and including 9 July. (All other times are deepening.)
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TABLE 5

Vertically integrated rates of change of the inorganic carbon system in the mixed layer at Station S

Time Period

Process Annual Shoaling Deepening
(eC m?) (8C m?) (8C m?)
Inferred from model:
Biological exchange, Fy,;, -10.68 -19.02 8.34
Air-sea gas exchange, F,, 21.45 10.08 11.37
Vertical diffusive transport, F, diff 15.18 9.49 5.69
Vertical entrainment, F,,, 3.15 0.00 3.15
Calculated sum of components, F,,. 29.10 0.54 28.55
Observed from the seasonal cycle of sDIC:
F s 26.94 -6.45 33.39
F, 1 0.0 -3711.68 3711.68
Fiot - F, -26.94 -3705.23 3678.29

obs

* Change with respect to concentration of DIC only (see equation (20)).
T Change also with respect to mixed-layer depth (see equation (21)).
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Computed net community production in mixed layer and lack of closure of sDIC at Station S

TABLE 6

Net Community Production Annual
Sensitivity Test* Annual Shoaling Deepening AsDIC.,
(gCm?) (gC m2) (g€ m?2) (UM kg1)
Standard Case -10.7 -19.0 8.3 -1.8
Air-sea gas transfer
Piston velocity adj. factor, y=1 -1.8 -15.5 13.7 3.8
Piston velocity adj. factor, y=2 -13.7 -202 6.5 -3.8
pCO,,. increased by 10 ppm -1.6 -17.7 10.1 -7.4
k., =2.4283 x 10 mol m2s'! ppm! (constant value) -15.9 -21.9 6.0 -26.6
T,. = 23°C (constant value) -11.6 -20.5 9.0 1.0
133, less negative by 1.085%. (neglect of the Suess effect) 0.7 -14.8 15.5 16.5
Vertical transport and mixed-layer depth
Diffusion doubled -17.2 -23.0 59 7.4
AsDIC = 0 (no diffusion) -4.2 -15.0 10.8 -11.1
At,,, = 4 days -10.0 -19.0 9.0 2.7
At,,, = 12 days -11.3 -19.0 7.7 -1.0
K,=0.1:104m?s! and Az,,, = 60 days -10.4 -15.3 4.8 -14
(d13d/dz), = -0.0030%0 m! (observed gradient) -14.1 -20.8 6.7 -5.4
MLD determined by Hermite function -12.2 -15.3 3.2 2.5
MLD increased all years by 30 m -11.1 -22.8 11.7 4.1
Biological exchange
O, more negative by 3%o -11.2 -17.7 6.5 0.4
Oy, less negative by 3%o
* For definitions of symbols see Table 2 -10.0 -20.8 10.8 -4.7
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TABLE 7

Estimates of annual biological production in the Sargasso Sea

Estimate

Author Type of Production (gC m? yr1) Location Method

Menzel and Ryther (1960) Primary Production 72 Station S 14C incubation

Platt and Harrison (1985) New Production 25 Station S nitrate based f-ratio

Jenkins and Goldman (1985) New Production 35- 508 Station S oxygen cycle

Musgrave et al. (1988) New Production 25 -34B Station S oxygen cycle

Spitzer and Jenkins (1989) New Production 37 - 488 Station S oxygen, argon, and helium

cycles

Altabet (1989a) Downward flux of sinking PN 18y BATS Station sediment traps
Downward flux of suspended PN 12y BATS Station PN cycle

Lohrenz et al. (1992) Primary Production 110 - 1443 BATS Station 14C incubation
Downward flux of POC 14¢ BATS Station sediment traps

Carlson et al. (1994) Downward flux of DOC 138 BATS Station DOC cycle

Fasham et al. (1990) New Production in the mixed layer 3 Station S mixed-layer ecosystem
, model

Fasham et al. (1993) New Production 35-5%v Station S three-dimensional

ecosystem model

This study, 1995 Net Community Production in the 11 Station S concentration and 13C/12C
mixed layer ratio of DIC
Net Community Production in the 18 Station S extrapolation of mixed-
euphotic layer layer value

o Based on weighted average f-ratio of 0.31 and primary production of Menzel and Ryther (1960).

B Conversion of oxygen into carbon based on average PQ = 1.41 proposed by Takahashi et al. (1985).

y Conversion of nitrogen to carbon based on C:N ratio of (122:16) of Takahashi et al. (1985).

8 Annual primary production for the years 1989 and 1990, respectively.

¢ Estimated fluxes at 100 m based on the reported values at 150 m and assumption that fluxes at that depth are approximately 67 % of the
fluxes at 100 m according to relationship by Martin et al. (1987).

C Average value for years 1992 and 1993, respectively.
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Summary of Station S carbon data as used in this study

TABLE A.1

Date Depth Sal Temp DIC Alk pCO, Orig 133 Actual 138
[YYMMDD] [m] [°C] [umol kg1] [umol kg1] [ppm] [per mil] [per mil]

830912 1 36.150 28.01 1999.54 - 373.27 - -

830912 10 36.146 27.24 2000.52 - 364.89 1.80 1.54
831010 1 35.950 26.35 1987.33 2346.44 347.90 1.62 1.62
831010 10 35.945 26.35 1986.95 2346.72 346.93 - 1.60
840127 1 36.382 20.20 2031.94 2370.23 312.17 - 1.50
840127 10 36.381 20.41 2030.00 - 306.09 - 1.35
840309 1 36.463 19.81 2043.46 - 312.15 - -

840309 10 36.466 19.88 2042.87 - 311.99 - -

840403 1 36.484 19.61 2046.56 - 312.66 - 1.43
840403 10 36.468 19.49 2044.80 - 309.74 - 1.39
840430 1 36.479 19.74 2043.68 - 310.55 1.46 1.46
840430 10 36.481 20.05 2043.89 - 314.56 1.46 1.46
840628 10 36.300 23.44 2024.09 - 34091 1.55 1.55
840725 1 36.446 27.12 2033.53 - 395.46 - ~

840725 10 36.442 26.65 2030.83 - 384.45 1.57 1.57
840816 1 36.454 28.09 2022.67 - 389.75 1.57 1.57
840816 10 36.411 27.29 2022.00 2369.34 391.95 1.58 1.59
840911 1 36.497 26.69 2018.15 - 360.14 1.64 1.64
840911 10 36.494 26.60 2017.38 - 357.97 1.62 1.62
841018 1 36.378 23.14 2020.00 - 325.71 1.61 1.62
841018 10 36.378 23.49 2021.61 - 332.44 1.57 1.57
841119 1 36.454 23.52 2023.94 2379.05 332.61 1.63 1.63
841119 10 36.456 22.44 2023.72 2379.99 317.81 1.64 1.63
841217 1 36.434 20.79 2030.08 2380.60 305.74 1.61 1.62
841217 10 36.431 20.76 2029.91 2379.38 306.44 1.61 1.62
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TABLE A.1 (continued)

Date Depth Sal Temp DIC Alk pCO, Orig 135 Actual 135
[YYMMDD] [m] [°Cl [Lmol kg-1] [Lmol kg1] [ppm] [per mil] [per mil]
850205 1 36.489 19.12 2048.76 — 309.33 1.41 1.41
850205 10 36.508 19.21 2048.31 2383.18 309.35 1.46 1.46
850212 1 36.513 19.04 2051.09 2383.44 310.89 1.42 1.41
850212 10 36.509 18.96 2051.10 2385.21 307.88 1.46 1.46
850315 1 36.519 19.18 2049.63 2383.54 310.51 1.47 1.47
850315 10 36.520 19.03 2048.76 2384.35 306.54 1.47 1.47
850411 1 36.468 19.14 2046.47 2377.63 311.85 1.45 1.45
850411 10 36.460 19.11 2046.70 2375.84 310.36 1.46 1.46
850506 1 36.472 20.12 2046.33 2375.01 327.21 1.53 1.53
850625 1 36.483 26.13 2036.77 - 384.03 1.55 1.56
850625 10 36.475 25.76 2035.62 - 377.54 1.56 1.56
850722 1 36.433 27.23 2026.99 2374.84 392.39 1.61 1.61
850722 10 36.417 26.70 2026.25 - 379.37 1.56 1.56
850826 1 36.472 27.86 2019.59 - 380.00 1.62 1.62
850826 10 36.456 27.06 2017.37 - 366.77 1.64 1.63
851014 1 36.349 25.76 2004.60 - 337.87 1.70 1.70
851014 10 36.349 25.70 2004.98 2374.21 336.84 1.70 1.70
851107 1 36.398 24.81 2016.36 - 340.02 1.67 1.66
851107 10 36.398 24.89 2015.56 2376.36 340.22 1.63 1.63
851205 1 36.542 22.62 2026.00 2384.64 318.74 1.68 1.68
851205 10 36.541 22.57 2026.37 - 317.11 1.65 1.65
860203 1 36.551 19.97 2039.02 2387.65 301.31 1.62 1.62
860203 10 36.545 20.13 2039.59 2386.53 305.16 1.58 1.58
860405 1 36.434 20.10 2040.62 - 313.65 1.51 1.51
860405 10 36.440 20.00 2038.80 - 307.21 1.48 1.48
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TABLE A.1 (continued)

Date Depth Sal Temp DIC Alk pCO, Orig 135 Actual 133
[YYMMDD] [m] [°C] [umol kgl [umol kg'1] [ppm] [per mil] [per mil]
860428 1 36.535 20.02 2042.08 - 308.14 - 1.54
860428 10 36.535 20.35 2041.11 - 310.84 - 1.48
860529 2 36.583 21.42 2041.81 2388.60 322.16 1.55 1.55
860529 12 36.580 21.77 2041.02 2390.01 323.78 1.55 1.55
860707 1 36.323 25.99 2021.28 2375.65 363.64 1.57 1.57
860707 10 36.371 26.00 2024 .41 2374.84 370.33 1.60 1.60
860826 1 36.384 27.90 2014.99 2376.21 379.02 - 1.67
860826 10 36.378 27.74 2015.03 2376.88 375.99 - 1.65
860923 1 36.213 26.31 1999.82 2364.99 346.47 1.66 1.66
860923 10 36.207 25.95 2000.19 2364.22 343.32 1.63 1.63
861105 1 36.549 24.28 2018.55 2386.59 326.48 1.70 1.70
861105 10 36.555 24.07 2018.34 2387.09 323.10 1.68 1.68
861121 1 36.530 23.49 2019.22 2382.48 322.16 1.59 1.59
861121 10 36.530 23.48 2020.62 2380.70 326.02 1.59 1.59
870122 1 36.514 20.58 2040.53 2386.35 311.90 1.47 1.47
870122 10 36.509 20.47 2040.36 2387.06 309.49 1.46 1.47
870307 1 36.623 19.28 2053.76 2393.08 307.66 1.44 1.44
870307 10 36.621 19.26 2053.85 2393.83 306.69 142 1.42
870328 1 36.570 19.24 2054.52 2388.81 312.59 1.40 1.40
870328 10 36.565 18.87 2054.16 238941 306.78 1.40 1.40
870422 1 36.642 20.27 2051.40 2393.76 316.03 1.48 1.48
870422 10 36.640 20.18 2049.97 239295 313.79 1.47 1.47
870526 1 36.498 22.51 2035.02 2383.76 330.96 - 1.53
870526 10 36.524 22.13 2037.59 2384.38 329.40 - 1.62
870626 1 36.504 25.59 2028.34 2384.717 359.68 1.58 1.58
870626 10 36.500 24.96 2029.21 238523 352.11 1.57 1.57
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TABLE A.1 (continued)

Date Depth Sal Temp DIC Alk pCO, Orig 135 Actual 13§
[YYMMDD}] [m] [°C) [pmol kg-1] [umol kg-1] {ppm] [per mil] [per mil}
870718 1 36.529 27.19 2025.53 2386.02 375.33 1.52 1.52
870718 10 36.520 27.19 2026.25 2385.55 377.04 1.52 1.52
870827 1 36.454 25.95 2020.60 2378.21 359.98 1.56 1.56
870827 10 36.449 25.70 2020.06 2378.82 355.03 1.58 1.58
871019 1 35.959 26.03 1983.72 2338.16 348.40 1.57 1.57
871019 10 36.215 26.04 1997.21 2353.41 353.05 1.58 1.58
871111 1 36.428 24.33 2015.74 2376.56 333.44 1.56 1.56
871111 10 36.424 24.27 2016.07 2376.09 333.68 1.61 1.61
871203 1 36.514 22.14 2027.80 2384.51 31531 1.52 1.50
871203 10 36.510 22.11 2027.44 2383.92 315.06 1.55 1.53
880125 1 36.492 19.79 2042.97 2383.76 308.29 1.35 1.33
880125 10 36.493 19.78 2042.70 2381.14 310.71 1.36 1.34
880309 1 36.538 19.09 2050.78 2386.44 307.90 1.34 1.32
880309 10 36.535 18.99 2050.33 2385.69 306.85 1.36 1.34
880512 1 36.532 20.58 2041.72 2376.24 325.32 1.41 1.39
880512 10 36.519 20.24 2041.29 2373.40 323.59 1.40 1.38
880613 1 36.512 23.29 2040.03 2384.97 347.30 1.34 1.45
880613 10 36.506 23.27 2039.52 2384.39 346.91 1.35 1.43
880721 1 36.279 26.93 2020.78 2370.89 381.43 1.34 1.46
880721 10 36.281 26.29 2021.25 2370.56 373.85 1.33 1.42

880824 1 36.360 28.26 2009.36 2373.61 377.77 - -

880824 10 36.356 28.07 2009.06 2374.52 373.51 1.58 1.51
880920 1 36.357 27.88 2001.05 2372.69 360.52 1.64 1.57
880920 10 36.355 27.81 1999.60 2373.42 356.46 1.59 1.62
881117 1 36.382 23.52 2017.23 2379.20 322.16 - 1.55
881117 10 36.384 23.43 2017.19 2377.50 322.92 - 1.44
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TABLE A.1 (continued)

Date Depth Sal Temp DIC Alk pCO, Orig 135 Actual 133

[YYMMDD} [m] [°C] [wmol kg1] [umol kg-1] [ppm] [per mil} [per mil}
890129 1 36.646 20.79 2040.11 2394.71 305.79 1.38 1.45
890129 18 36.645 20.79 2039.85 2394.77 305.37 1.40 1.48
890426 1 36.619 20.54 2050.44 2389.74 322.47 1.35 1.36
890426 10 36.611 20.40 2048.94 2390.62 317.48 1.40 1.39
890522 1 36.573 22.69 2042.60 2377.30 353.49 - 1.36
890522 10 36.580 22.34 2040.98 2376.85 346.86 - 1.38
890721 1 36.613 27.35 2036.94 2390.44 391.64 - 1.51
890721 10 36.600 26.86 2037.12 2393.61 380.70 - 1.54
890901 1 36.428 27.08 2018.75 2381.25 368.01 - 1.57
890901 10 36.457 26.93 2020.72 2385.19 364.47 - 1.57
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TABLE A.2

Mixed-layer depth and vertical diffusion coefficient

Date Mixed-layer depth Kz Date Mixed-layer depth Kz
[YYMMDD] [m] {104 m2 s-1] [YYMMDD] [m] [104 m2 s-1]
830127 80 1.375 840127 85 0.705
830201 80 0.910 840210 130 2.508
830223 150 1.756 840309 150 1.458
830307 100 - 840403 120 3.845
830317 150 1.270 840410 170 2.235
830331 100 1.980 840430 130 1.849
830412 110 4.010 840627 28 0.182
830509 25 0.453 840628 28 0.182
830608 15 0.452 840710 25 0.109
830614 15 0.331 840724 15 0.104
830623 25 0.125 840808 15 0.136
830708 15 0.233 840816 15 0.071
830721 25 0.107 840829 15 0.200
830802 15 0.119 840911 25 0.106
830819 25 0.087 841003 25 0.105
830912 20 0.110 841018 50 0.108
830926 20 0.143 841102 75 0.240
831010 25 0.071 841117 100 0.347
831024 35 0.084 841130 80 0.325
831114 50 0.227 841217 100 0.700
831123 70 0.228
831208 75 0.156
831228 80 0.339
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TABLE A.2 {continued)

Date Mixed-layer depth Kz Date Mixed-layer depth Kz
[YYMMDD] [m] [104 m2 s-1] [YYMMDD] [m] [104 m?2 s-1]
870122 135 0.965 880115 150 0.836
870219 270 1.448 880125 145 1.229
870307 175 3.269 880209 170 1.072
870328 220 - 880223 130 2.315
870416 55 1.536 880309 170 3.661
870422 30 0.871 880325 165 1.918
870507 15 0.522 880404 185 2.877
870526 25 0.209 880503 55 1.331

870608 18 0.522 880523 15 -
870626 20 0.484 880613 15 0.099
870707 15 0.251 880711 15 0.116
870718 15 0.078 880721 15 0.126
870817 25 0.093 880815 15 0.095
870817 25 0.093 880824 25 0.071
870827 25 0.101 880920 25 0.125
870831 15 0.101 881026 75 0.161
871019 30 0.200 881117 90 0.094
871026 50 0.121 881130 100 0.334
871111 50 0.156 881228 105 0.525
871116 80 0.191

871124 50 0.352

871127 65 0.290
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TABLE A.2 (continued)

Date Mixed-layer depth Kz Date Mixed-layer depth Kz
[YYMMDD] [m] {104 m?2 s1] [YYMMDD] [m] [104 m?2 s-1]
870122 135 0.965 880115 150 0.836
870219 270 1.448 880125 145 1.229
870307 175 3.269 880209 170 1.072
870328 220 - 880223 130 2315
870416 55 1.536 880309 170 3.661
870422 30 0.871 880325 165 1.918
870507 15 0.522 880404 185 2.877
870526 25 0.209 880503 55 1.331

870608 18 0.522 880523 15 -
870626 20 0.484 880613 15 0.099
870707 15 0.251 880711 15 0.116
870718 15 0.078 880721 15 0.126
870817 25 0.093 880815 15 0.095
870817 25 0.093 880824 25 0.071
870827 25 0.101 880920 25 0.125
870831 15 0.101 881026 75 0.161
871019 30 0.200 881117 90 0.094
871026 50 0.121 881130 100 0.334
871111 50 0.156 881228 105 0.525
871116 80 0.191

871124 50 0.352

871127 0.290
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TABLE A.2 (continued)

Date Mixed-layer depth Kz
(YYMMDD] [m] (104 m2 s-1]

890108 110 0.762
890118 100 0.609
890210 200 2.906
890228 150 -

890315 60 1.384
890504 20 0.609
890522 15 0.408
890613 15 0.085
890627 15 0.138
890721 15 0.069
890731 20 0.060
890901 25 0.092
890915 25 0.132
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Figure 1. Seasonal variation in ocean water temperature of the surface mixed layer at Station S, in °C. Observations from 1983 to 1989,
at 1 and 10 m, are shown as open and solid circles, respectively. The smooth curve depicts a two-harmonic fit through the data

(see text and Table 1).
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Seasonal variation in depth of the surface mixed layer at Station S, in meters. As described in the text, the depth was
determined by the criterion of Levitus (1982) from vertical profiles of density calculated from observations of temperature and
salinity for the same period as the data of Figure 1. The smooth curve is a three-harmonic fit to the depth estimates. On the
basis of this curve the mixed layer shoals from day 51 through day 190 of the annual cycle.
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Figure 3. Seasonal variation in dissolved inorganic carbon (sDIC), in pmol kg, in the surface mixed layer at Station S. The data,
normalized to the average salinity of 36.452, are based on observations from 1983 to 1989 as in the previous figures. The
smooth curve is a two-harmonic fit through the data. As in Figure 1, observations were taken at 1 and 10 m and are shown by
open and closed circles, respectively.
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Figure 4. Seasonal variation in the reduced 13C/12C isotopic ratio of DIC, 136,
symbols and curve depict data and a harmonic fit as in Figure 3. The vertical axis is inverted so that addition of carbon of
organic origin to the DIC pool results in higher values on the plots of both concentration and isotopic ratio.
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Figure 5. Seasonal variation in the partial pressure of CO, at the sea-surface, pCO,,,, determined from DIC and alkalinity measurements,
as described in the text. The symbols and solid curve depict data and a harmonic fit as in Figure 3. A dashed curve depicts an
additional harmonic function representing the seasonal variation in atmospheric CO, partial pressure, pCO,,,, derived from
observations at La Jolla, California. Both air and seawater pCO, values are expressed as a mixing ratio in parts per million of

dry air (ppm, approximately equal to patm).
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Figure 6. Diagram of the pathways and reservoirs of the carbon cycle in the surface
mixed layer near Bermuda, as employed in the seasonal model. The model
neglects photosynthesis and respiration below the mixed layer. These fluxes
are assumed to cancel with a portion of the remineralization flux, which is thus
also neglected.
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Figure 7. Seasonal variation in wind speed, in m s-1, at Station S defined by monthly average values shown as dots [data from Musgrave
et al. (1988)]. The smooth curve is a two-harmonic fit through the monthly data. The measurements are in reference to a
height of 10 m above the sea-surface.
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Figure 8.
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Seasonal variation in the vertical diffusion coefficient at the base of the surface mixed layer, in m2 s-t, computed from the

buoyancy frequency as described in the text. Individual values of the coefficient, estimated from observations of salinity and
temperature for the same period as in Figure 1, are shown as open circles. The smooth curve is a two-harmonic fit through the
data.
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Figure 9. Computed seasonal variations in the rate of change in sDIC, in pmol kg-! day-!, produced by net biological exchange, net air-sea
gas exchange, vertical diffusive transport, and vertical entrainment. Each variation is shown by a separate curve, as labeled.
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Figure 10, Computed seasonal variations in the rate of change in sDIC, in pmol kg-! day-!, produced by net biological exchange
calculated two ways. The solid line, identical to the solid line in Figure 9, was calculated by observing changes in 13C/12C
isotopic ratio of DIC. The dashed curve was calculated from the differences in sDIC fluxes without regard to isotopic changes.
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Seasonal variation in sDIC, in umol kg-!, computed as the cumulative sum of daily increments plotted in Figure 10. The
observed variation is shown for comparison.
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Figure 12. Computed seasonal variations in the rates of change in sDIC, vertically integrated over the surface mixed layer, in gC m day-!,
for the four processes shown in Figure 9.
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Figure 13. Seasonal variation in the rate of change in sDIC vertically integrated, in gC m-2 day-1, computed as the cumulative sum of the
four processes shown separately in Figure 12. The observed rate of change is shown for comparison.
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Figure 14. Seasonal variation in sDIC, as computed for various sensitivity tests described in the text. The standard case (solid curve),

shown previously in Figure 11, is shown again for comparison.
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Figure 15. Seasonal variation in the depth of the surface mixed layer, in meters, as in Figure 2, except that the seasonal cycle, represented
by the smooth curve, is derived from a fit to Hermite polynomials instead of by means of a harmonic function.
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Figure 16. Computed seasonal variations in the rates of change of sDIC, as in Figure 9, except based on a mixed-layer depth defined by
Hermite polynomials, as in Figure 15, instead of by a harmonic function, as shown in Figure 2.
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Figure 17. Comparison of fluxes of the carbon cycle, in gC m-2 yr-, in the euphotic layer
near Bermuda, as determined by the three-dimensional tracer transport model
of Bacastow and Maier-Reimer (1991) (bold numbers) and by the seasonal
model described in this article (numbers in parentheses). The diagram of
pathways and reservoirs is adapted from that in Figure 6 with the surface
mixed layer replaced by a euphotic layer, and with an additional pathway
representing lateral transport. The arrow showing this transport is only
diagrammatic: the three-dimensional transport model flux arises from the sum
of lateral transports from all directions and a downwelling component

associated with convergence in the lateral transport.
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