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Preface

This book is an outgrowth of my interest in the chemistry of sedimentary rocks.
In teaching geochemistry, I realized that the best examples for many chemical
processes are drawn from the study of ore deposits. Consequently, we initiated
a course at The University of Cincinnati entitled “Sedimentary Ore Deposits,”
which serves as the final quarter course for both our sedimentary petrology and
our ore deposits sequence, and this book is based on that teaching experience.
Because of my orientation, the treatment given is perhaps more sedimentological
than is usually found in books on ore deposits, but I hope that this proves to be
an advantage. It will also be obvious that I have drawn heavily on the ideas and
techniques of Robert Garrels.

A number of people have helped with the creation of this book. I am especially
grateful to my students and colleagues at Cincinnati and The Memorial University
of Newfoundland for suffering through preliminary versions in my courses. I
particularly thank Bill Jenks, Malcolm Annis, and Dave Strong.

For help with field work I thank A. Hallam, R. Hiscott, J. Hudson, R. Kepferle,
P. O’Kita, A. Robertson, C. Stone, and R. Stevens. I am also deeply indebted
to Bob Stevens for many hours of insightful discussion.

Many people have read and commented on portions of the book. These com-
ments have sharpened the presentation considerably, especially where the re-
viewer and I disagreed. In addition to those mentioned above, I thank S. Awramik,
A. Brown, M. Coleman, K. Eriksson, W. Galloway, M. Gole, D. Holland, K.
Klein, J. Leventhal, B. Price, B. Simonsen, F. van Houten, J. Veizer, A. Walton.

The text was composed using WYLBUR, a program developed at Stanford
University. The University of Cincinnati computer center provided invaluable
financial and technical support, and I thank the editors at Springer-Verlag and
the staff at WorldComp for their patience in dealing with this form of manuscript.

Cincinnati, Ohio J. Barry Maynard
January 1983
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CHAPTER 1.
Introduction

“I should see the garden far better,” said Alice to herself, “if |
could get to the top of that hill: and here’s a path that leads
straight to it—at least, no, it doesn’t do that—" (after going a few
yards along the path, and turning several sharp corners), “but |
suppose it will at last. But how curiously it twists! It's more like a
cork-screw than a path! Well this turn goes to the hill, | suppose—
no, it doesn’t! This goes straight back to the house! Well then, I'll
try it the other way.”

Alice in Through the Looking Glass

From Lewis Carroll, The Complete Works of Lewis
Carroll. (New York, Vintage Books, 1976, page 156.)
Reprinted with permission of the publisher.

Ore deposits come in a bewildering range of types, and their study involves
almost all subdisciplines of geology. Accordingly, it has been difficult to cover
the subject matter of economic geology satisfactorily in one book or in one
course. In practice, some sort of restriction is made. For North American ge-
ologists, there has been a tendency, now fading, to regard economic geology as
synonymous with the study of hydrothermal deposits. At one time this was
carried to the extreme of insisting that almost all deposits were, in fact, hydro-
thermal. More recently, the importance of sedimentary processes in ore genesis
has begun to be appreciated, but the sedimentology necessary for the under-
standing of these processes is hard to integrate with the standard economic geology
curriculum. It seems to me that a workable solution to this problem is to make
divisions along the lines of the traditional areas of geology. Thus, one can
approach volcanic ores from the viewpoint of a volcanologist, sedimentary ores
from that of a sedimentologist. The ores are then treated within the context of
the surrounding rocks, rather than as isolated entities. This book attempts to fill
this purpose for sedimentary ores.

Most sedimentary ores are formed by chemical processes, and these processes
are the subject of this book. Accordingly, I have largely excluded placers. Ores
are defined to be economic accumulations of metals, and I have not discussed
non-metallics. Most non-metallics have an evaporite origin, a style of deposition
well covered elsewhere (e.g., Braitsch 1971). The remaining metallic deposits
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form a more or less coherent group whose precipitation is mostly controlled by
Eh gradients. That is, a particular metal dissolves at, say, low Eh, then migrates
along the gradient to be precipitated at high Eh, or vice-versa.

What, then, is meant by “sedimentary ores”? How do they differ from deposits
classed as “syngenetic” or “strata-bound”? I use sedimentary in the sense of
“formed by sedimentary processes.” Almost all such ores are also strata-bound,
but many strata-bound ores seem to have been formed by hydrothermal processes
(see Chapter 7). Similarly, many sedimentary ores are syngenetic, that is, formed
at the same time as the surrounding sediment. But there is also an important
class of syngenetic ores that is volcanic in origin (see Chapter 8), and some
sedimentary ores are epigenetic. It is useful to make the following distinctions
(based on Tourtelot and Vine 1976):

Sedimentary—Formed by sedimentary processes, at low temperatures and
pressures near the Earth’s surface, hosted by sedimentary rocks or soils.

Strata-bound—Enclosed by essentially parallel layers of sedimentary rocks.
May be cross-cutting within a layer.

Syngenetic—Formed at the same time the sediment was deposited. Sedi-
mentary examples are iron and manganese ores, volcanic examples are the
Kuroko-type Cu-Pb-Zn ores.

Early diagenetic (or syndiagenetic)—Formed after deposition of the sedi-
ment, but while still in contact with overlying water via diffusion through
pore fluids. Pyrite in modern sediments obtains its sulfur in this way.

Late Diagenetic—Formed after the sediment is closed to the overlying water,
but from metals derived from within the same stratigraphic sequence. Some
U deposits in tuffaceous rocks may have this origin (Chapter 6).

Epigenetic—Formed after consolidation of the sediment and usually cutting
across the strata; metals supplied from outside the system. Two varieties
may be distinguished:

Ground water-epigenetic—Formed by cold surface waters. An example
is roll-front U.

Hydrothermal-epigenetic—Formed by hotter (>100°C) solutions, usu-
ally from depth. Carbonate-hosted Pb-Zn deposits are mostly of this

type.

Two tools for the study of the geochemistry of ores that are used extensively
in this book need some introduction: stable isotopes and equilibrium diagrams.
The stable isotopes of S, C, and O are proving to be invaluable in the study of
sediments, and I have tried to include the data on these isotopes that apply to
sedimentary ores. For a general introduction to stable isotopes in geology, see
Hoefs (1980); here I will briefly review some of the principles.

Stable isotope analyses are presented on a relative scale of so-called delta
values. That is

8 = IOOO(Rsamplc/Rsmndard - 1)9
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where R is the ratio of the amount of the heavy to that of the light isotope. Thus,
for sulfur,

84S/1000 = (*SPS e / *S/S niwe) — 1,

from which it can be seen that a sample with a ratio identical to the standard
will have a delta value of 0 permil, a sample with more of the heavy isotope
will have a positive delta, and one with more of the light, a negative delta. The
terms light and negative or heavy and positive tend to be used interchangeably.
For each element of interest, an arbitrary standard has been chosen. For S the
choice was troilite of the Canyon Diablo meteorite, for O “standard mean ocean
water,” for C a fossil belemnite. Except for seawater, these primary standards
are practically exhausted and measurements are made with secondary standards,
but all results are reported in terms of the original standards.

In sedimentary systems, wide ranges of delta values are encountered, reflecting
large fractionations. For S and C, biologic activity is the most important cause
of fractionation; for O it is evaporation and precipitation of water. Fig. 1-1 shows
that S in seawater, which is mostly in the form of SO,>~, has a narrow range
of values around +20, but S in sedimentary rocks, which is mostly present in
FeS,, is much more variable and can be considerably more negative, a result of
bacterial sulfate reduction. C (Fig. 1-2) shows a similar biological effect: marine
carbonates are around O permil (as might be expected from the use of carbonate
C from a marine fossil as a standard), but organic matter, both living and fossil,
is appreciably lighter. Thus, carbonates whose carbon comes from oxidized
organic matter can be detected by their light C. For O (Fig. 1-3), meteoric waters
are noticeably lighter than seawater, which is caused by a preference for the
lighter isotope during evaporation of water (see Hoefs 1980, fig. 31). O isotopes
are also affected by temperature. As diagenesis proceeds and temperature in-

m Evaporite sulfate

J ocean water
V2772777 Sedmentary tocks 777777777777/ 77
v/ Metamorphic rocks /4
U773 Granitic rocks
Basaltic rocks

Extraterrestrial matter _ %
(meteorites and lunar rocks) //A % | | |
L | 1 I 1 | |
S0 40 30 20 10 0 -10 -20 30 -40
é 3LS In %0
Fig. 1-1. Range of S isotopes in geologic systems. Note the difference between mantle-
derived S and sedimentary sulfides (Hoefs 1980, fig. 12).
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Fig. 1-2. C isotopes in geologic systems. Carbonate carbon derived from seawater is
much heavier than organic carbon, and hence than carbonate formed by oxi-
dation of organic matter (Hoefs 1980, fig. 9).

creases, O in minerals tends to become lighter. Thus it is vital to distinguish the
timing of mineral formation when studying O isotopes.

The isotope ratios of these elements in seawater and sediments have changed
with time, which has an effect on the values found in ore deposits. Changes in
3*S of sulfate in evaporites, which is almost identical to that in coeval seawater,
are particularly well documented (Holser and Kaplan 1966, Schidlowski and

¥ Meteoric waters 77/}
[} 0cean water
Sedimentary rocks
Y/} Metamorphic rocks
7} Granitic rocks

Basaltic rocks

p Extraterrestrial materials
m (meteorites and lunar rocks)
| | 1 | | | ! 1 | | | |
& 30 20 0 0 -0 -20 -30 -40 -50 -60 -70
6'80 iN %0

Fig. 1-3. O isotopes of meteoric water are generally lighter than those of seawater (Hoefs
1980, fig. 10).
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Fig. 14.

S isotopes of evaporites and mas-
sive sulfide deposits show a par-
allel trend with time, suggesting
that much of the S in the sulfides
comes from seawater (after
Sangster 1968, fig. 8).
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others 1977, Claypool and others 1980). Strata-bound sulfide deposits show a
striking parallelism to this seawater curve (Fig. 1-4), providing strong evidence
for the participation of seawater in their genesis. Veizer and Hoefs (1976) doc-
umented similar but smaller changes in C and O isotopes with time, and Veizer
and others (1980) have shown that the S and C curves are correlated (Fig. 1-5),

0
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Fig. 1-5. Variation of C and S isotopes of carbonates and sulfates with time. Lower
Paleozoic rocks have relatively light C and heavy S, indicating that a high
proportion of the available C was deposited as carbonate, of the S as pyrite.
Since the Carboniferous, the trend has been towards more organic C and sulfate
S (after MacKenzie and Pigott 1981, fig. 3).
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probably because of control of the reservoirs of reduced and oxidized S and C
by tectonics, especially changes in sea level (Mackenzie and Pigott 1981).

Two shorter-term processes also can affect the S isotopes of an orebody.
Schwarz and Burnie (1973) have presented a model in which S isotopes of
sulfides in sedimentary accumulations are controlled by the degree of exchange
between the water in the basin and the open sea. If exchange is rapid and complete,
then S will be relatively light because bacterial reduction will only involve a
portion of the total S with a strong preference for *2S. If, on the other hand,
exchange is limited, the bacteria will reduce all of the S coming into the basin,
resulting in positive values close to coeval seawater. The other control is rate
of sedimentation (Maynard 1980). If sedimentation is rapid, there is a concomitant
increase in the rate of bacterial sulfate reduction. At high rates of reduction, the
bacteria do not fractionate the S as efficiently, so the resulting sulfides are
relatively positive (Fig. 1-6). The closed-basin effect seems to be important for
the shales of the Kupferschiefer (Chapter 3), the sedimentation-rate effect for
the uraniferous shales of the Appalachian Basin (Chapter 6).

Most geologists are familiar with equilibrium diagrams showing relationships
between mineral phases and variables such as Eh, pH, temperature, or com-
position of the fluid. The standard treatment of this subject, which contains
several applications to sedimentary ores, is Garrels and Christ (1965). Another
more recent reference with a good short summary of these principles is Froese

+] T T T T T T

or PETTAQUAMSCOT

NEWPORT
MARSH

S. BARBARA

® MARINA DEL RAY

/
[
CARMEN
/

/‘PESCADERO
° ®BLACK SEA
S. CATALINA

‘E, CORTEZ
-2 L 1 1 ! i 1
60 50 40 30 20 10

AS%oe= (6%%S seawater - &S sulfides)
Fig. 1-6, Fractionation of S between seawater and sulfides increases as the rate of
deposition (w) decreases, up to a spread of approximately 50 permil (Maynard
1980, fig. 2).
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(1981). Here I would like to make a few points about the use of such diagrams
and sources of data for their construction. Any thermodynamic relationship can
only apply when the system under investigation is at equilibrium, a situation
notoriously rare in sediments. Why, therefore, are equilibrium diagrams used so
often in this book? Such relationships tell us what should happen in a system,
and thus provide a first approximation of its geochemical behavior. Then, by
comparing this first model with observation, we can decide what other factors
need to be considered. Usually these are reaction rates, an aspect of geochemistry
that is, as yet, poorly understood. I have presented a few examples of kinetic
studies for Mn and U, and have tried to identify other areas that could be studied
in the same way.

Thermodynamic data for minerals are still in a state of flux, particularly for
Al-bearing phases. I have, wherever possible, used the compilation of Robie
and others (1978). Other sources, along with the values selected for use in the
diagrams, are given in the Appendix. Please note that in this book the new
international convention for expressing energy in joules (or kilojoules) rather
than calories is followed. To convert, use the factor

1 joule = 0.239 calories.

Similarly, the equation relating the equilibrium constant for a reaction (K) to the
change in free energy (AG,),

AG, = —RTInK,
becomes, at 25°C,
AG, = —5.707logk.

If the reaction involves oxidation and reduction, the standard electrode potential
(E°) is also used:

AG, = 96.487nE°

where n is the number of electrons, and AG, is expressed in kilojoules. These
relations can then be used with the standard equations for free energy change

AG, = AG{products) — AG(reactants)

where AG; represents the free energy of formation of the substance from the
elements, and the Nernst equation

Eh = E° + (0.059/n)log(a..s/a.q)

where a_,;, and a_., are the activities of the oxidized and reduced species, to
construct the type of diagrams used in this book. To use the Nernst equation in
the above form, write the reactions so that the oxidized species are products.
For instance,

Fe?** 5 Fe*t + e~.

Note that the electron should always appear on the right-hand side.
In cases where no thermodynamic data are available, there are several schemes
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Table 1-1. Free energies of silication of various oxides to be used in calculating free
energies of formation of layer silicates by the method of Tardy and Garrels

(1974).
Kcal Kj
K,0 —184.32 - 771.21
Na,O —162.8 — 681.2
MgO —151.51 - 633.9
CaO -171.0 - 7155
FeO — 64.6 - 270.3
Fe,0, —177.50 — 742.68
AlLO, —383.2 —1603.3
Si0, —204.6 — 856.1
H,0 - 57.8 — 241.8
Mg(OH), —201.7 — 843.9
K,O exchange —184.32 - 771.21

for making approximations. I have followed that proposed by Tardy and Garrels
(1974), but see Lippmann (1977) for a critical treatment of these approximations.
Basically, Tardy and Garrels’ approach uses known values of free energy for
sheet silcates to estimate the free energy of ALO,, SiO,, etc., within lattices of
layer silicates, then uses these values to calculate free energies for unknown
cases by simple summation. In order to use this approach in conjunction with
the other free energy values in this book, it is necessary to correct their numbers
slightly to account for different accepted values for their “known” minerals. To
do so, use the numbers in Table 1-1. For example, a pure iron chamosite might
have the composition Fe,Al, ,;Si, ,;05(OH),. Its free energy of formation would
then be estimated by first writing the formula as the sum of the oxides

2Fe0 + 0.72AL0, + 1.438i0, + 2H,0.

The free energy is then

2(—64.6) + 0.72(—383.2) + 1.43(—204.6) + 2(—57.8) = —813.28 Kcal,
or 3402.85 Kj.

If a mineral contains Mg, first assign as much as possible to Mg(OH),, then the
remainder to MgO.

Such calculations can give only a crude approximation of free energy of
formation of a mineral, but reasonable values usually result, keeping in mind
the uncertainties in the “well-known” values. Further, the numbers so obtained
can be used with some confidence in establishing the topology of equilibrium
diagrams even if absolute values for the parameters plotted on the axes remain
somewhat uncertain. Thus, the relationships among minerals can be explored,
but there are limitations in comparing observed mineral assemblages with meas-
ured or inferred water chemistry.



CHAPTER 2.
Iron

“Would you tell me, please, which way | ought to go from here?”
“That depends a good deal on where you want to get to,” said the
Cat. “I don’t much care where—" said Alice. “Then it doesn’t
matter which way you go,” said the Cat. “—so long as | get
somewhere,” Alice added as an explanation. “Oh, you're sure to
do that,” said the Cat, “if you only walk long enough.”

Alice and the Cheshire Cat in Alice in Wonderland
From Lewis Carroll, The Complete Works of Lewis
Carroll. (New York: Vintage Books, 1976, pages 71-72.)
Reprinted with permission of the publisher.

Iron has been mined from a variety of kinds of deposits, but production is now
almost entirely from two types: banded iron-formations and oolitic ironstones.
Banded iron-formations are rocks of mostly Precambrian age that are composed
of interlaminated quartz and iron minerals. They can be subdivided into two
varieties (Gross 1980): Algoma deposits, which are relatively small with an
obvious volcanic association, and Lake Superior, which are much larger and
have a shallow-shelf, orthoquartzite-carbonate association. The Algoma type is
abundant in the Archean, but an Ordovician example is found at Bathurst, New
Brunswick (see Chapter 8), and there is a possible analogue associated with the
Carboniferous Pb-Zn deposit at Tynagh, Ireland (see Chapter 7). Lake Superior-
type ores, by contrast, are confined to a particular time interval at around 2
billion years before the present. Oolitic ironstones have a more clastic association
than the iron-formations, and are higher in Al. Instead of banding, their most
prominent sedimentary structure is ooliths made up of hematite or chamosite.
Chert is rare, and they are found in rocks of a variety of ages from Proterozoic
to Pliocene.

As of 1970, these two types constituted more than 90 percent of the world’s
iron production, with Lake Superior ores accounting for about 65 percent (Gross
1970, table 3). At that time, ironstones made up about 20 percent of the pro-
duction, but this proportion has been decreasing: the last iron mines in Great
Britain, which are in Jurassic oolitic ironstones, were closing in 1980. The
extensive Lake Superior-type deposits of Australia are now coming into pro-
duction, displacing smaller deposits, so that Lake Superior-type ores probably
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make up 75 percent or more of production today. One reason for their predom-
inance is a change in the nature of the feed for blast furnaces. Formerly, only
ores that had been naturally enriched by the leaching of most of their SiO, (the
“direct shipping ores”) could be used. Since the introduction of pelletized feeds
in 1955, there has been a shift to artificially concentrated cherty taconites because
of lower shipping costs and lower energy costs for blast furnace operation (Kakela
1978).

Because of the differences in their chemistry and depositional setting, we will
discuss iron-formations and ironstones separately. First, however, it is useful to
examine some aspects of the distribution of iron in the Earth’s crust.

Iron is the third most abundant metal, after Si and Al. Therefore, it is a major
constituent of most rocks (Table 2-1), and its ores are actually rock types in their
own right. The formation of these iron rocks depends on changes in oxidation
state: Fe is mobilized under reducing conditions, precipitated under oxidizing.
Thus, it will migrate from areas low in oxygen towards areas high in it, provided
a pathway exists. Note, in Table 2-1, that igneous rocks, although varying in
total iron, have about the same proportion of Fe** to Fe?*. Sedimentary rocks,
in contrast, show a wide range of oxidation states, indicative of the presence of
environments of differing oxidation potential. Therefore, it is in sediments that
the greatest potential for iron enrichment exists, and almost all iron ores are
sedimentary. We will see that most of the other sedimentary ore metals also
depend on redox gradients for their enrichment.

Table 2-1. Abundance of iron in common rock types.

FeO (%) Fe,0, (%) IM)F+(;;ZQ
Igneous Rocks
alkali-olivine basalts 7.9 4.2 0.35
tholeitic basalts 9.5 3.2 0.25
granodiorites 2.6 1.3 0.33
granites 1.5 0.8 0.35
Sedimentary Rocks
Sandstones:
quartz arenite 0.2 0.4 0.67
lithic arenite 1.4 3.8 0.73
graywacke 3.5 1.6 0.31
arkose 0.7 1.5 0.68
Shales and slates
red 1.26 5.36 0.81
green 1.42 3.48 0.71
black 4.88 0.52 0.10
Seawater (as Fe) 0.007 ppm

Source: Wedepohl 1969, tables 26-K-2, 26-K-3; Wedepohl 1971a, tables 6.2, 8.1, 12.2.



Mineralogy 11

PART |. IRON-FORMATIONS

Almost every large area of Precambrian rocks contains iron-formation. Deposits
of the Hamersley Basin of Australia, the Transvaal of South Africa, and the
Lake Superior and Labrador Trough regions of North America are especially
well described. There is no universally accepted terminology for these rocks; I
have followed the usage proposed by Eichler (1976). The most general term is
iron-formation (IF), which refers to a mostly Precambrian ferruginous-cherty
rock. Banded iron-formation (BIF) is used for those varieties that show prominent
banding of SiO, and iron minerals. Ironstone is used for the oolitic, non-cherty,
aluminous iron ores more characteristic of the Phanerozoic.

A convenient classification scheme to use in discussing the mineralogy and
geochemistry of these rocks is the facies system of James (1954). He separated
IF into four types based on the predominant iron mineral: oxide (hematite or
magnetite), carbonate (siderite or ankerite), silicate (greenalite, stilpnomelane,
minnesotaite), and sulfide (mostly pyrite). In different localities the proportion
of each facies varies, and the sulfide facies is poorly developed in Lake Superior-
type ores. It should be realized that these are not facies in the normal sedimentary
sense of a unified depositional system, because much of their mineralogy appears
to develop during diagenesis (Dimroth and Chauvel 1973, Chauvel and Dimroth
1974, Dimroth 1977). In particular, the presence of the oxide facies is not
sufficient proof that the rocks were deposited close to the margin of the basin
(Walker 1978). However, inasmuch as the response of a sediment to diagenetic
change is largely a function of primary sedimentary features, such as the amount
of carbon, these facies are at least a reflection of original sedimentation. We
will therefore use them as a framework.

Mineralogy
Oxides

The major problem in the mineralogy of iron-formations is defining the stage of
the rocks’ history at which various minerals developed, as illustrated by con-
sideration of the origin of the two common oxides, hematite and magnetite.
Dimroth and Chauvel (1973, p. 131) argued that the primary phases in IF were
siderite, a “precursor silicate,” amorphous 3i0,, and amorphous SiO, with ad-
sorbed hydrated ferric oxides. Diagenetic processes involving reactions among
these minerals and with externally added O,, or with organic matter in the finer
grained rocks, produced the magnetite, ankerite, and iron silicates now found.
However, Klein (1973, 1974), using much the same petrographic data, maintained
that magnetite and iron carbonates like ankerite and siderite were primary phases,
formed by the recrystallization of fine-grained aggregates of the same mineralogy.
These two pathways of magnetite formation are probably indistinguishable tex-
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turally. They differ primarily in that Klein’s implies that a closed system de-
veloped early in the diagenesis of the sediment, while Dimroth and Chauvel’s
requires migration of O, or of Fe?* between beds. The scarcity of magnetite as
an authigenic phase in modern sediments and unmetamorphosed younger sedi-
mentary rocks suggests that either the magnetite in IF is, in fact, a late diagenetic
product, formed at relatively high temperatures, or some condition was different
in the Precambrian that favored the formation of magnetite during early diagenesis.

Carbonates and sulfides

Siderite is probably the most common carbonate mineral in iron-formation,
followed by ankerite, although the difficulty in distinguishing these two in thin
section may have led to a serious underestimation of the amount of ankerite.
Most workers believe these carbonates formed at or near the sediment-water
interface, but 3*C values that have been reported are considerably more negative
than in coeval calcite and dolomite, — 10 permil compared with —2 to +2
permil (Becker and Clayton 1972, Perry and others 1973, p. 1122). Such light
carbon, which is almost certainly derived from decomposition of organic matter,
suggests that the Fe-bearing carbonates formed later, below the ‘sediment-water
interface, but probably before complete consolidation of the sediment. Micro-
probe analyses show considerable substitution of Mg and sometimes Mn in siderite
(Table 2-2); dolomites and ankerites are Fe-rich, with a maximum of 0.65 mole
percent Fe. Sulfides are seldom described from IF. Gole (1980) has presented
two analyses from an Archean deposit in Australia (Table 2-2), but more data
are needed for comparison.

Silicates

Previous work on the silicates has been reviewed by French (1973). The most
common minerals are greenalite, a 7A serpentine-like mineral; stilpnomelane,
which has a talc-like structure, but able to accommodate considerable Fe**
(Eggleton and Chappell 1978); and minnesotaite, an iron talc (Table 2-3). Struc-
tural details of these minerals can be found in Floran and Papike (1975). Cha-
mosite, the common iron silicate of the Phanerozoic deposits, is sometimes found
in shales associated with IF, but seldom in the IF itself. Nontronite, the common
iron silicate from modern volcanic-sedimentary deposits (Chapter 8) is not found,
presumably because it would, like other smectites, be destroyed by even moderate
diagenesis. It is not known, however, to what mineral it would convert. Of the
three most abundant minerals, greenalite and stilpnomelane are thought to be
primary, and minnesotaite a product of very low-grade metamorphism (Ayres
1972, Klein and Gole 1981).

Almost ubiquitous in association with these iron minerals is some form of
Si0,, usually thinly interlaminated. The silica is now quartz or chalcedony, but
was probably originally amorphous silica. Both SiO, varieties are referred to as
chert, even if made up of macrocrystalline quartz. They have not been studied
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Table 2-3. Common silicates in iron formation with hints on petrographic identification.

Mineral Ideal Formula Petrographic Characteristics

greenalite (Fe,Mg):Si,0,,(OH), very fine-grained, nearly
isotropic. Green, non-
pleochroic.

stilpnomelane K, «Mg,Fe?*Fe**)(81,Al),(O,0H),, mica-like form; pleochroic
brown or green; moderate
birefringence

minnesotaite Fe,Si,0,,(OH), fibrous; high birefringence,
non-pleochroic

as much as the other constituents. Dimroth (1976, p. 218-220) reports that
chalcedony (fibrous microquartz) can be either length-fast or length-slow, the
latter variety being possibly associated with evaporites (Folk and Pittman 1971).
The sequence of crystallization of silica minerals from amorphous silica has been
studied extensively in recent years, both by experiment and by examination of
Tertiary sediments (Kastner and others 1977, Murata and others 1977), and a
promising field of future research is the application of these results to Precambrian
cherts.

Metamorphism

Because so many iron-formations have been metamorphosed, it is useful for us
to describe briefly some of the changes that occur. Furthermore, metamorphism
is an important ore-forming process: it leads to an increase in grain size that
makes gravity separation of the iron minerals from the quartz more attractive
(Gross 1965, p. 55, 132). Iron-formation is not as sensitive to metamorphism
as shaley rocks, particularly at low temperatures (Klein and Gole 1981), but
three broad zones can be identified:

Low grade (200-350°C)—Defined by the first appearance of minnesotaite.
More Na-rich rocks may produce crocidolite as well (Button 1976a, p. 279,
Klein 1974, p. 486), although Australian workers (Trendall and Blockley
1970, Grubb 1971) have inferred an introduction of Na to form the large
crocidolite and riebeckite deposits associated with the Hamersley IF.

Intermediate grade (350-550°C)—Characterized by the first appearance of
grunerite-cummingtonite amphiboles, or if the fugacity of water is high,
hydro-biotite (Immega and Klein 1976). This zone is also marked by the
disappearance of most of the primary and diagenetic silicates and carbonates
(French 1968, 1973).

High grade (>550°C)—Defined by the appearance of iron pyroxenes such
as ferrohypersthene and hedenbergite (French 1973, p. 1066). Occurrences
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of rocks of this grade have been described from Montana (Immega and
Klein 1976) and the southern end of the Labrador trough (Klein 1966,
Kranck 1961).

Naturally the fugacity of water, O,, and CO,, as well as temperature, have
an effect on metamorphism of these rocks. See Frost (1979) for a discussion.
The approximate relationship of these zones to those in pelitic schists are shown
in Table 2-4.

Supergene Enrichment

The other important ore-forming process is supergene enrichment. In this process,
both leaching of silica to produce relative enrichment and downwards transport
of iron leading to absolute enrichment are important. Most workers seem to agree
that the soft, oxidized, “direct shipping ores” are produced in this way (Symons
1967, Porath 1967, MacDonald and Grubb 1971), but hard hematite orebodies
also occur whose origin is more controversial. Some workers believe that these
are formed by hydrothermal solutions (Bailey and Tyler 1960, Dorr 1964, Berge
and others 1977), others regard them as metamorphosed supergene deposits
(Cannon 1976), while others regard them as having been produced by normal
weathering (Park 1959).

Detailed work by Morris (1980) on the iron ores of Western Australia suggests
that most, if not all, of the features observed can be explained by weathering.
He identified a sequence of alterations which he placed on a scale of increasing
maturity. The least altered deposits contain martite (hematite pseudomorphous
after magnetite) and goethite. Primary hematite remains unaltered while chert,
carbonates, and iron silicates are leached out or replaced by goethite. In these
ores, iron content averages 62 percent with a loss on ignition of 4 to 6 percent.
At the opposite extreme, the most altered ores contain abundant secondary he-
matite with platy texture. This hematite appears to have formed via dehydration
of the goethite formed in earlier stages. Intermediate types are found in which
both fine-grained goethite and the coarse platy hematite occur. The formation
of the platy hematite results in an increase in permeability, and thus in more
complete leaching. Total iron is 64 percent, and loss on ignition is reduced to
1 percent. Further, phosphorus, an undesirable constituent for steel manufacture,
is reduced to 0.05 percent, compared to 0.07 percent in the martite-goethite ores.

Geochemistry

In major element chemistry, Archean and Lake Superior-type iron-formations
are virtually identical (Table 2-5), as pointed out by Gole and Klein (1981, fig.
3) and Gole (1981). The elements that show some difference are Al and P, which
are higher in the Algoma-type deposits of Canada. However, the Al values
reported by Gole and Klein (1981, table 1) for Algoma deposits are lower than
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for the Canadian deposits, so this difference may be an accident of the sample
used in compiling Table 2-5. Compared with ironstones (compare Table 2-10),
these rocks have much lower Al and P and higher SiO,.

In trace elements some differences do appear. Figure 2-1 shows that the two
types of IF have parallel trends of composition compared with that of the Earth’s
crust, except for Mn, which is anomalously high in Lake Superior-type deposits,
and Ni, Cu, and Zn, which are strongly depleted. These trends apply to the
separate facies of IF as well as to the total (Table 2-5), except for the silicate
facies, which has higher Mn in the Algoma instead of the Lake Superior-type.
The apparent enrichment of the Algoma deposits in Al and in Ni, Cu, and Zn
is consistent with their volcanic association and the common presence of massive
sulfide deposits, as at Bathurst, New Brunswick. Algoma IF is also enriched in
Au, having more than six times as much as in Lake Superior type deposits (Saager
and others 1982a).

Some data are also available for rare earth elements (Table 2-6). Fryer (1977a,b)
pointed out that Archean IF typically has a positive Eu anomaly, in contrast to
the negative anomaly in modern ferruginous sediments and seawater. Proterozoic
IF lacks a strong positive Eu anomaly but is still enriched in Eu relative to
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Fig. 2-1. Minor and trace elements in Canadian iron formations, normalized by crustal
abundance of each element. (Data from Table 2-5.)
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Table 2-6. Distribution of rare earth elements in iron-rich sediments (ppm).

La Ce Nb Sm Eu Tb Yb Lu Source

Algoma IF
Precambrian
Michipicoten, carbonate 244 406 201 043 022 — 0.62 0.10 1
Soudan, pyritic slate 26 63 31 6.7 4.5 099 3.8 0.62 1
Mary River, hematite 2.55 392 197 0.39 0.21 — 0.29 0.058 1
Mary River, magnetite 393 6.17 3.60 0.60 0.39 — 0.66 0.11 1
Ordovician
Bathurst, N.B., carbonate 16.8 13.9 —  3.08 4.19 0.9 1.38 0.21 2
Bathurst, magnetite 375 — — 0.51 1.75 0.42 0.32 0.12 2
Bathurst, magnetite 455 — — 0.82 254 — 0.54 0.13 2
Lake Superior IF
Labrador, oxide 272 452 237 043 015 — 0.24 0032 1
Labrador, silica-carb. 141 250 1.36 0.25 0.08 — 0.21 0.030 1
Australia, hematite 0.37 — — 010008 — — — 2
Australia, magnetite 260 — — 032011 — 0.82 0.19 2
Australia, stilpnomelane 25.8 50.3 —  6.84 1.65 1.65 5.89 0.85 2
Other Fe-rich Deposits

East Pacific Ridge, flank 15.1 5.85 13.6 2.94 0.70 0.47 2.46 0.44 1
East Pacific Ridge, crest 28.7 18.0 28.6 5.62 1.34 0.95 3.14 0.53 1
Cyprus, ochre 66.7 21.7 59.0 143 3.60 — 392 — 1
Seawater X 10° 29 1.3 23 044011 — 0.520.12 1

Source: 1. Fryer 19770, table 2.
2. Graf 1978, table 2.

contemporaneous shales. IF of both ages lacks the strong depletion in Ce found
in modern seawater. He interpreted these differences as resulting from high
concentrations of Eu?* and Ce** in the Precambrian oceans, whereas in the
present oxidizing oceans, Eu is present in the insoluble 3 + oxidation state, and
Ce®* is oxidized to Ce** on manganese nodules. Thus, they are not available
for incorporation into chemical sediments. The intermediate situation for the
Proterozoic deposits would, then, reflect an intermediate average oxidation state
for the oceans at that time. Graf (1978) disputed this interpretation, using as
evidence the presence of an Archean-like pattern in the Ordovician age Algoma-
type deposit at Bathurst, N.B. (Fig. 2-2). He contended that this pattern was
not related to seawater chemistry but to the nature of water-rock reactions in
seawater-hydrothermal systems. If so, one might expect a contrast in REE be-
tween Algoma and Lake Superior-type deposits, which is in fact indicated by
the small difference in the Eu pattern (Fig. 2-2), although the two types are
closely similar in the lighter REE from La to Sm.

As for the individual minerals, their non-stoichiometry (Table 2-2) makes them
hard to model geochemically. For the oxides, carbonates and sulfides, end-
member compositions can be used as a first approximation, but for the silicates
we will calculate thermodynamic properties using the method of Tardy and Garrels
(1974), as described in Chapter 1. The greatest uncertainty in the case of the
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Fig. 2-2. REE in ocean deposits, Algoma IF and Lake Superior IF, normalized to
chrondritic abundance. Each type seems to have characteristic Ce or Eu an-
omalies. (Data from Table 2-6.)

oxides and carbonates is in knowing which phases were present in the original
sediment and which were formed during diagenesis. For the ferric oxides, we
know that hematite does not precipitate from solution at low temperatures (Lang-
muir 1969, 1971). Instead, amorphous Fe(OH), is the first phase to appear; if
heated or aged it dehydrates to goethite, FeOOH, and eventually to hematite,
Fe,0,. Thus, the proper phase to use in representations of the original sediment
is Fe(OH), rather than Fe,O, (Klein and Bricker 1977). Likewise the first iron
sulfide to appear is not pyrite, FeS,, but mackinawite, FeS, which then converts
to pyrite during diagenesis (Berner 1970). Because it is so prevalent in IF, one
is tempted to include magnetite in this group of primary phases, as Klein and
Bricker (1977) have in their series of diagrams, but the arguments just presented
for hematite should apply to magnetite as well (Frost 1978). However, it is not
known what the analogous amorphous precursor should be. Magnetite has been
shown to form directly as a result of bacterial activity (Towe and Moench 1981),
and such bacterial magnetite grains might have been an important constituent of
Precambrian sediments; otherwise, there must have been some precursor, either
Fe(OH), that was subsequently reduced, or an amorphous mixed oxide. A possible
candidate, which has been produced in the laboratory but not found in nature,
is “green rust” (Feitnecht and Keller 1950, Schwertmann and Thalmann 1976),
also referred to as “hydromagnetite” (Bernal and others 1959), which has a
composition that can be represented as Fe,(OH);. Feitnecht (1959) has shown
that this substance will, in fact, convert to magnetite if allowed to age. Fig.
2-3 shows the resulting Eh-pH diagram, treating siderite as a primary phase
because carbonates tend to crystallize readily without the kinetic problems of
the oxides and sulfides. Note that the Fe** phase, which becomes hematite, and
the Fe?*/Fe?* phase, which becomes magnetite, can coexist, as can siderite and
the Fe**/Fe?* phase, but the assemblage hematite-siderite should not occur, and
it is, in fact, rare (Klein and Bricker 1977, p. 1467). Also, note that even at S
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Fig. 2-3. Eh-pH diagram for oxides, carbonates, and sulfides that may have been present
in the initial sediment of iron formations. 25°C, 1 atm; S,Fe = 10-°.

concentrations as low as 1079, a considerable sulfide field is present. This is
consistent with the presence of an important sulfide facies in association with
Algoma IF, but the rarity of sulfides in Lake Superior IF indicates that S content
must have been very low, less than 10~% molar, compared with 10-2 in modern
seawater. A similar diagram showing the stable phases in this system (Fig. 2-
4) shows a vanishingly small region of stability for siderite, indicating that the
use of the amorphous precursors in Fig. 2-3 is a better representation of the
original sediment.

Next we need to add Si to this system. In the modern oceans, the concentration
of silica is low because of silica-secreting organisms such as diatoms and radiolaria
(Heath 1974). In the Precambrian, before the evolution of such organisms, the
concentration must have been close to saturation with respect to amorphous silica
or about 10~*” molar, and slight evaporation would have led to precipitation of
amorphous silica. (Although this value is much greater than saturation with respect
to quartz, none should form because quartz reactions are so slow that it is
practically inert at surface temperatures.) Therefore, it is reasonable to suppose
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Fig. 2-4. Eh-pH relations for the eventual stable phases in the same system illustrated
in Fig. 2-3.

that the chert in IF formed in this way. An alternative suggestion is that the
precursor of IF chert was magadaiite, a sodium silicate with the formula
NaSi,0,,(OH), that is found in certain tropical lakes (Eugster 1969, Eugster and
Chou 1973). Thermodyanamic calculations suggest that at the pH and concen-
tration of Na* of the modern oceans, magadiite should precipitate before chert
during evaporation (Drever 1974, fig. 3). A problem is, what becomes of all of
the Na*? Some could be incorporated into riebeckite, but it seems to me unlikely
that magadaiite could account for the volumes of chert found with no Na minerals.
It would be interesting to study modern cherts formed via magadiite to see if
there are any textural features that would be diagnostic of its former presence.

Besides chert, this Si must have also gone into iron silicates. The two most
commonly cited as being primary are greenalite and stilpnomelane. If, however,
we add stilpnomelane to our Eh-pH diagram (Fig. 2-5), it completely eliminates
siderite, and nearly eliminates the magnetite precursor. The composition I used
for this stilpnomelane, K, sFeq,Al 4sSis 150,/(OH)s, has only ferrous iron; if
ferric iron is included, the field expands to cover even the magnetite field (Klein
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Fig. 2-5. Eh-pH diagram for IF with Si added, same conditions as for Fig. 2-3, but with
am5i04 = 10_2‘7.

and Bricker 1977, fig. 8). Greenalite is also theoretically unstable in the presence
of stilpnomelane at the activity of H,SiO, required to precipitate amorphous silica
(Fig. 2-6). Thus, because chert-greenalite and siderite-greeenalite-chert assem-
blages are common, it seems unlikely that stilpnomelane can be a primary phase.
In fact, Fig. 2-6 shows that greenalite most likely was not present as such, but
as an amorphous precursor of the same composition. In these diagrams I have
used a slightly aluminous composition for greenalite, Fe, Al »Si, ;0,,(OH),, in
accordance with the findings of Gole (1980) that this is the earliest silicate phase.
The most likely primary assemblage was, then, amorphous greenalite, Fe(OH),,
crystalline FeCO, and amorphous silica, possibly with an amorphous precursor
of magnetite. During diagenesis these crystallized to greenalite, hematite, mag-
netite and chert, with stilpnomelane forming by reaction of one of the Fe-bearing
phases with chert. Alternatively, the stilpnomelane could also have had a pre-
cursor phase, possibly nontronite. It would be interesting to see if nontronite
could be converted to a stilpnomelane-like phase experimentally.

Studies of stable isotopes in IF have been confined mostly to carbon. For
siderites, as already mentioned, 8"*C values tend to be lighter than in associated
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Fig. 2-6. A. Relationships among siderite, greenalite, and stilpnomelane in the presence
of amorphous silica. Note that both siderite and greenalite should convert to
stilpnomelane in the presence of chert. b. The same system, assuming that
greenalite is amorphous and stilpnomelane is a later (diagenetic) replacement.

calcites and dolomites (Perry and others 1973, Becker and Clayton 1972), sug-
gesting derivation of a part of the carbon from decomposing organic matter.
Both of these studies were of Lake Superior-type deposits, however, and a single
analysis from an Archean deposit gives 8°C = +2.4 permil (Goodwin and
others 1976). It is possible that Algoma and Lake Superior-type deposits differ
in the mode of siderite precipitation, but more study is obviously needed. Eich-
mann and Schidlowski (1975) have shown that the spread between carbon isotopes
of organic matter and coexisting primary carbonates (limestone and dolomite)
is the same as in younger sediments: —24.7 permil for the average organic
carbon, + 0.9 for carbonate carbon. Thus, the relative size of these two reservoirs
of C, and the processes connecting them, must have been similar to those of
today. C isotopes of limestone and dolomite associated with IF show little
variation, but carbon in organic matter can sometimes be related to sedimentary
facies. For example, Barghoorn and others (1977) found that in the Gunflint
Chert of Ontario, the “algal chert” facies which is thought to be of shallow-
water origin, contains organic carbon that is lighter (—25 to — 30 permil) than
that in the overlying, deeper-water chert-siderite and chert-magnetite facies (— 15
to —20 permil).

The only study of S isotopes in IF is that of Goodwin and others (1976) on
the Michipicoten Formation (Algoma-type). They found a wide range, from
—10.5 to +10.1 permil, that is not related in any obvious way to rock type or
stratigraphic position. Thus, it is not known whether the sedimentation rate or
the restricted basin influences on S isotopes (Chapter 1) have any application
here. This is an exciting area of study of IF, and a small investment of effort
should produce much valuable information.
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Oxygen isotopes of IF have been used to infer temperatures of metamorphism
(James and Clayton 1962, Perry and others 1973, Becker and Clayton 1976,
Perry and Ahmad 1981). For example, Becker and Clayton have shown that the
Dales Gorge of the Hamersley in Australia was subjected to higher metamorphic
temperatures than had previously been thought, 270-310°C. Further, they found
that quartz, siderite and ankerite came to isotopic equilibrium, but that hematite
underwent negligible exchange. Magnetite, on the other hand, seems to have
come to equilibrium in some samples, but not in others. Hematite formation was
confined to temperatures below 140°C, while most magnetite formation was at
higher temperatures, suggesting that much of the magnetite in this IF is a late
diagenetic product.

Petrography

IF shares many petrographic features with carbonate rocks, and some of the same
terminology can be used. For example, Dimroth and Chauvel (1973) identified
three principal textural components: matrix, cement and allochemical grains, as
described in Table 2-7. They then defined seven textural types of IF based on

Table 2-7. Petrographic elements in IF.

Orthochems (precipitated at site of deposition)

Fe micrite—microcrystalline siderite or iron silicate matrix.

Matrix chert—microcrystalline quartz. May contain hematite dust in oxide facies IF;
siderite and iron silicate inclusions in carbonate-silicate facies.

Cements—fill pore space between allochems. Chert cements may be difficult to dis-
tinguish from matrix chert, but they lack the inclusions usually found in matrix chert.
Quartz with columnar impingement (common).

Chalcedony—fibrous quartz, oriented normal to allochem boundaries (rare).
Fringing chalcedony followed by iron-rich sparry calcite.
Fringing ankerite or minnesotaite followed by quartz.

Allochems (discrete, aggregated particles; probably transported)

Pellets—ellipitcal bodies ~0.2 mm in long dimension found in matrix cherts. Com-
position is similar to matrix and so may be hard to distinguish. May have formed
in place.

Intraclasts—fragments of pre-existing sediment. In larger particles, internal sedimentary
structures may be seen, but smaller varieties (<4 mm) are more problematic. Differ
from pellets in being sorted, often cross-bedded.

Ooliths and pisoliths—concentrically laminated particles, mostly composed of chert
and hematite. Contain a variety of nuclei. The Sokoman IF has no Fe** minerals in
ooliths.

Shards—convex-concave bodies apparently derived from preexisting allochems by
compaction.

Source: After Dimroth and Chauvel 1973.
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the proportion and nature of these components (Table 2-8). The major distinction
is between the banded varieties, which must have been deposited in quiet water,
and those with abundant allochems, which are commonly referred to as granular
IF. Chauvel and Dimroth (1974, p. 321-322) infer that the granular type was
deposited in shallow subtidal environments, the banded type in deeper, basinal
water.

Textural features of the banded variety have been carefully described by
Trendall and Blockley (1970, chapter 3) from the Hamersley basin of Australia.
Chemical analyses have been presented by Ewers and Morris (1981), and Gole
(1981) has described similar textures from Archean age IF. Unlike the Sokoman
IF of the Labrador trough, which Chauvel and Dimroth (1974) studied, the
Hamersley rocks are almost entirely of the banded type. There are three scales
of banding. The first is a coarse macrobanding of alternating resistant IF and
less resistant “shale.” The IF bands range from 3 to 15 m averaging 6.4, while
the “shale” bands are thinner, an average of 1.6 m. The shale macrobands differ
from what are commonly thought of as shales in containing less detrital material
and more iron minerals. They consist of a matrix of stilpnomelane or chlorite
(chamosite?), often in random orientation, in which varying amounts of siderite,
quartz, feldspar, and pyrite float. Laminations, where found, are defined by
layers of pyrite or carbonaceous material. Shard-like structures are common, so
much of the shale may be pyroclastic.

The IF macrobands are further subdivided into mesobands, which range in
thickness from 1 to 80 mm, averaging 8 mm. Several varieties can be distinguished
based on the predominant mineral (Table 2-9). Both macrobands and mesobands
can be correlated over most of the outcrop area of the Hamersley, some 50,000
square kilometers (Trendall and Blockley 1970, p. 65-70).

The chert mesobands usually contain internal microbands defined by alternating
iron-rich (magnetite, stilpnomelane, etc.) and iron-poor laminae, usually 0.5 to
1 mm in thickness. These microbands have been correlated over distances as
great as 300 km, and are thought to be seasonal (Trendall and Blockley 1970,

Table 2-9. Mesoband types in the Dales Gorge Member of the Hammersley Basin.

Mesoband type (most abundant constituent) Percent of section

Chert

microbanded 46.5

non-microbanded 9.3
Chert-matrix 21.1
Magnetite 13.3
Stilpnomelane 23
Carbonate 1.0
miscellaneous 6.5

Chert-matrix differs from chert in having a uniformly very fine grain size. Only the chert
mesobands show well-developed microbanding.

Source: After Trendall and Blockley 1970, table 4.
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p. 106 and 257). Dimroth (1976, p. 204) has suggested that this microbanding
is a diagenetic rather than a depositional feature, and, further, that these laminated
IF types make up less of the section than the granular IF. The banded varieties,
in fact, are overwhelmingly preponderant in most areas, and it seems unlikey
that diagenetic processes could have preserved this delicate banding. The simpler
hypothesis is to regard it as a primary depositional feature. The only other
sedimentary rocks showing correlatable microbanding of this type are basinal
evaporites (Anderson and Kirkland 1966). Accordingly, it is reasonable to regard
the banded varieties of IF as forming in large, somewhat restricted basins by the
evaporation of water enriched in silica and iron (Trendall 1973a and b, Button
1976a). IF displays a number of sedimentary structures. These include, in granular
IF, cross-bedding (Gross 1972, Mengel 1973, Goodwin 1956), ripple-marks
(Mengel 1973, Majumder and Chakraborty 1977), and various types of cut-and-
fill structures (Gross 1972, Rai and others 1980). Markun and Randazzo (1980)
have described in detail ooliths from the Gunflint IF of Ontario. Because of their
similarity to calcareous ooliths and the absence of siliceous ooliths in modern
marine environments, Markun and Randazzo (1980) interpreted them as replace-
ments of pre-existing calcareous ooliths. Concretionary and dewatering features
are seen in both banded and granular IF (Trendall and Blockley 1970, p. 153-
162; Gross 1972; Majumder and Chakraborty 1977).

Grain sizes in granular IF have been reported by Mengel (1973) for deposits
around Lake Superior. Mean size of the chert granules is ¥ to 1 mm (2 to 0P),
with a symmetrical grain size distribution (low skewness) and moderate sorting
(standard deviation = 0.5 @ units). Some error is introduced in comparing thin
section with sieve data, but using the equations of Harrell and Eriksson (1979)
changes the range of average sizes by only 10 percent (2.2 to 0.2 ®). Mengel
(1973, p. 192) estimated the original density of the granules by comparing them
with the size of detrital quartz in the same thin section. If they were deposited
by the same currents, their densities are related by

&, — &, = 0.667(Log,pn — Log,ps)

where ® is the phi mean grain size and p is the density of phases A and B.
Solving for the density of the granules gives an original density of about 2.0,
similar to that of opal. This result argues against an origin of IF by replacement
of pre-existing carbonates; instead there seems to have been a primary, amorphous
SiO, phase.

A distinctive aspect of the petrography of IF is its fossils. These are either
micro-structural remains of bacteria or blue-green algae (Barghoorn and Tyler
1965, Barghoorn 1971, Awramik and Barghoorn 1977, Knoll and others 1978)
or macroscopic features known as stromatolites (Hofman 1969, 1973, Awramik
1976). The morphology of stromatolites has been used to infer conditions in the
environment of deposition such as water depth and current direction (Hoffman
1967, Truswell and Eriksson 1973, 1975).
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Vertical Sequence

The next scale in our discussion of IF is an analysis of their vertical succession.
For two of the best-exposed IF, in the Hamersley Basin of Australia and the
Transvaal of South Africa, sequences have been compared in detail by Button
(1976b). To these, I have added data from the Lake Superior region and the
Labrador Trough (Fig. 2-7). An earlier comparison of the first three was made
by Trendall (1968).

The tectonic evolution of the basins was similar. The IF-bearing sequence
begins with a regional unconformity separating Lower Proterozoic sediments
from Archean rocks. On this unconformity is a clastic unit, dominantly fining-
upward, that was deposited in fluvial or shallow marine environments. In the
Hamersley Basin, these clastics are accompanied by a great thickness of basic
volcanics. This unit is followed by another unconformity except in the Hamersley.
In the Lake Superior region and the Labrador Trough, a thick dolomite section,
followed by a shale, intervenes below the unconformity. Next comes a transgres-
sion marked by a thin, clean sandstone. This is succeeded by a chemical unit
composed of dolomite, IF, limestone, and carbonaceous shale in varying pro-
portions and in various relative positions. In the Transvaal, the sequence starts
with a thick dolomite that passes gradually into IF. A similar dolomite is present
in the Hamersley, but is thinner and the section contains more shale. For the
Lake Superior and Labrador deposits, dolomites are absent in this interval, and
the IF lies directly on the basal sand in most places. This chemical unit is followed

Fig. 2-7. Generalized geologic columns for four major IF deposits. Based on Button
(1976), Beukes (1973, fig. 18), Trendall (1968), Bayley and James (1973, fig.
2), Rivers and Wardle (1979, fig. 4), and Gross (1968, p. 19-33).
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by a regional unconformity, except in Labrador, and then by a thick clastic-
volcanic sequence. Thus, the general sedimentary setting for Lake Superior-type
deposits is shallow marine shelf with an orthoquartzite-carbonate association.
The IF in the two younger deposits was formed early in a transgressive sequence,
but, in the other two examples, a considerable thickness of other sediments
intervenes between the basal sand and the IF.

What of the facies succession within the IF itself? One of the best-studied
deposits from this standpoint is the Biwabik-Gunflint of Minnesota and Ontario.
Fig. 2-8 shows two cycles, both characterized by a change from granular IF to
laminated IF. The granular, or “cherty,” IF contains abundant pellets of chert
or chert plus iron minerals. The laminated, or “slaty,” IF contains no pellets,
instead it is characterized by a pronounced, fine banding, usually of chert and
iron minerals, but sometimes including laminae of carbonaceous material. It has
been interpreted as the deeper-water facies (White 1954). Accompanying the
change from granular to laminated in the lower cycle is a progression in iron
minerals from hematite to magnetite to carbonate-silicate (Fig. 2-8). Similar
shallow-water granular and deeper-water laminated IF are found in the Labrador
Trough (Chauvel and Dimroth 1974). Unlike these two, the Hamersley and
Transvaal deposits have little or none of the granular variety, and thus are made
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Fig. 2-8. Vertical succession of facies in the Biwabik IF of Minnesota. Data from White
(1954, fig. 10), French (1968, fig. 2), Marsden and others (1968, table 4),
Morey (1972, figs. 4-5 and 4-6), and Perry and others (1973, fig. 2).
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up almost entirely of what we have interpreted as the deeper-water facies. It is
not known whether this difference is somehow related to the age of the deposits—
the Hamersley and Transvaal are older than the other two—or whether it is just
an accident of the small sample size.

In contrast to the Lake Superior type, the internal stratigraphy of the Algoma-
type IF is poorly known. One well-described example is the Michipicoten IF of
Ontario (Goodwin 1973a). Here, in contrast to Lake Superior deposits, most of
the associated rocks are volcanics or volcaniclastics. Also, there is a zonation
of mineral facies that Goodwin related to proximal-distal positions in the basin
(Fig. 2-9). Note the abundance of pyroclastics, the prominence of the sulfide
facies, and the absence of dolomite. The rocks appear to have formed in a
depositional setting similar to that of the volcanic-sedimentary ores in younger
rocks described in Chapter 8 (Fig. 2-10).

There is a possible third variety of IF characterized by an association with
sediments with glacial features. The best-known example is the Rapitan Group
of northern Canada (Young 1976, fig. 5), but others are known from South
America (Jacadigo Series), South Africa (Damara Supergroup) and Australia
(Umberatana Group). All are Upper Proterozoic, and so may be another peculiar
time-lithologic association like the Lake Superior deposits. As described by
Young, these deposits occur entirely within clastic strata of glacial or glacial-
marine origin. Also present are pseudomorphs after evaporite minerals. The IF
itself has not been described, but apparently consists of laminated hematite and
chert. It should be noted that this glacial-evaporite combination has caused
disagreement about whether the deposits are truly glacial, and if so, whether
they were formed at high latitudes (Schermerhorn 1974, Morris 1977, Williams
1978).

Fig. 2-9. Facies relations in the Algoma-type Michipicoten IF of Ontario according to
Goodwin (1973a, fig. 2).
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Fig. 2-10. Reconstruction of the depositional environment of Algoma-type IF (Goodwin
1973b, fig. 9). The setting is similar to that for Kuroko-type and other volcanic-
sedimentary ores of felsic association.

Theories of Origin

Algoma-type IF are reasonably interpreted as being of sedimentary-volcanic
origin. They are probably analogous to younger iron deposits formed by hydro-
thermal circulation of seawater through volcanic rocks (Chapter 8). The Lake
Superior-type deposits, on the other hand, have been most controversial. Their
vast size and limited distribution in time are the two features hardest to explain.
Most workers believe that the iron and silica were deposited directly on the sea
floor, but a few (Cayeux 1922, Dimroth 1977), based on the similarity in sed-
imentary structures between IF and limestones, have maintained that IF results
from the replacement of earlier carbonates. The delicacy of the preserved textures
and the difficulty of simultaneously introducing Si and Fe make this hypothesis
unattractive. Furthermore, it does not solve the problem of how the large volumes
of Fe and Si are derived.

Two sources of Fe commonly invoked for the Lake Superior-type deposits
are rivers and volcanic emanations. The volcanic hypothesis is particularly at-
tractive in the light of the precipitation of Fe in this way in modern sediments,
and the similarity of Lake Superior to Algoma deposits in chemistry and min-
eralogy. Gole and Klein (1981) have argued that these iron formations are in
fact identical, and thus have a volcanic source. The question remains, however,
as to why there should have been such an enormous outpouring of Fe between
2.4 and 1.8 billion years ago. Also, there are quantitative problems with both
the volcanic and the river-supply models. Modern volcanic-hydrothermal systems
do release Fe and Si, but the quantities are not large (Holland 1973, Maynard
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1976). As a means of comparison, consider the Hamersley deposits. Holland
(1973, p. 1169) has calculated that they contain 10 g of iron that, if the
microbands are varves as Trendall (1973c) suggested, were deposited in about
6 million years, or at a rate of 2 X 10 g/yr. Ebeko, an unusually productive
volcano in the Kurile Islands, releases 35-50 tons of Fe/day or a maximum of
1.8 x 10" g/yr so that 1000 such volcanoes would be required to equal the rate
attained in the Hamersley. This would be one for each mile of circumference of
the basin, and nothing of the sort is suggested by the geology. If volcanoes were
producing the Fe, there must have been a mechanism by which the site of
precipitation was separated from the point of discharge of the hydrothermal fluids
onto the sea floor.

The same kind of argument applies to supply by rivers. If there were no oxygen
in the atmosphere at this time (Cloud 1972), iron could be carried in relatively
large quantities by rivers as the more soluble 2 + ion. The rise of oxygen in the
atmosphere owing to the evolution of green-plant photosynthesis would, then,
explain the disappearance of the deposits after about 1.7 b.y. Several workers
(e.g., James 1954, Lepp and Goldich 1964) have inferred that such was the
case, but the abundance of hematite in granular IF (Dimroth and Kimberley
1976), and the presence of red beds underlying the Sokoman IF of the Labrador
Trough (Fig. 2-7), indicate that some O, must have been present in the atmos-
phere, at least during formation of the deposits of the Lake Superior region and
the Labrador Trough (2.0 to 1.7 b.y.). In fact, it is reasonable to suppose, by
analogy with Mars, that the Archean atmosphere had small amounts of free
oxygen (Schopf 1981). Even in the absence of oxygen, only about 7 ppm Fe
would be carried in solution by rivers, so that a river with 5 times the discharge
of the Mississippi would be required to supply the Fe in the Hamersley (Holland
1973, p. 1170), and it is difficult to imagine what happened to the large clastic
load such a river would carry. Again, some separation mechanism seems to be
called for.

In 1952 Borchert proposed, for the Phanerozoic ironstones, the novel idea that
the oceans were the source of the Fe (Borchert 1952, 1960). His ideas have not
found wide acceptance because they require a structure and composition of the
ocean that is not found today, and is unlikely for the Phanerozoic (see Hallam
1966, p. 315 and the discussion section of Borchert’s 1960 paper). An oceanic
source of the Fe in the Lake Superior-type deposits has been proposed by Holland
(1973) and Drever (1974). Their model utilizes an intermediate level of oxygen
in the atmosphere to provide a large reservoir of soluble Fe in the deep ocean
at the same time that shallow, oxidizing environments existed where the Fe could
be precipitated. Drever (1974, p. 1100) calculated that if atmospheric oxygen
were 1/10 its present level, the oceans below the thermocline would be anaerobic,
but still oxidizing at depths less than about 200 m (Fig. 2-11). The deep water
in such an ocean would be enriched in Fe, either by remobilization of the ferric
iron held on the surface of clastic particles (Carroll 1958) or by release of Fe?*
from hydrothermal systems at mid-ocean ridges. In the absence of silica-secreting
organisms, this bottom water would also have been rich in dissolved silica.
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Fig. 2-11. Model for Lake Superior-type IF deposition (after Drever 1974). Deeper water,
enriched in Fe?* from either volcanic or diagenetic sources, moves up onto a
shallow shelf and precipitates Fe and Si as a result of oxidation and evaporation.

Upwelling of this water onto shallow, clastic-free shelves would lead to dep-
osition of Fe and Si by oxidation and evaporation. The situation is similar to
that of the Bahama Banks today, where open ocean water, saturated with respect
to CaCO,, comes up onto the shelf and becomes supersaturated through warming
and evaporation. Because the oxidation of Fe** leads to release of H*, precip-
itation of CaCO, would be inhibited during periods of IF deposition; otherwise,
these environments would be ideal for carbonate deposition, explaining the sim-
ilarity in textures between IF and carbonates. Seasonal fluctuations in the rate
of evaporation or the rate of supply of fresh seawater would explain the micro-
banding. The mineralogic facies observed in IF could be explained by an as-
sociation of this upwelled water with increased production of organic matter, as
is found in modern sediments (e.g., Brongersma-Sanders 1971). Then the min-
erals found would be a result of the amount of C originally deposited with the
sediment (Fig. 2-12). Drever (1974, p. 1104) suggested that if there were an
excess of Fe** over available C, magnetite resulted; if they were about equal,
Fe?* silicates formed; and if C greatly predominated, siderite was produced.
Primary hematite would have been preserved in shallow, well-oxygenated en-
vironments where all of the organic carbon was oxidized. The derivation of
siderite from decomposing organic matter is supported by the isotopically light
C found in siderite of Lake Superior-type deposits. Thus, this model explains
the volume of iron, the absence of clastics and volcanics, the carbonate-like
textures, the seasonal banding and the facies patterns. In addition, it explains
the concentration of these deposits at a particular time in the Earth’s history
when atmospheric oxygen was intermediate between very low values in the
Archean and essentially modern-day values in the Phanerozoic. The distribution
of U ores also suggests a transition in O, in the atmophere at about this time
(Chapter 6).

There are, naturally, some difficulties. The first concerns S: why was all of
the Fe not precipitated in deep water as iron sulfides, as it is in the Black Sea
today, if the bottom waters were anaerobic? Drever (1974) gave two possible
explanations. In the first, all of the S in deep water was precipitated by iron
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Fig. 2-12. A possible diagenetic explanation for the mineral facies of IF (after Drever

1974). Carbon content, controlled by productivity of algae and bacteria, is
the ultimate control over mineralogy.

sulfides, but, because more Fe than S is being brought to the oceans by rivers,
excess Fe?* was available to be transported to shallow water. Note that this
explanation requires there to be a low concentration of sulfate in the oceans and
therefore little deposition of sulfate-bearing evaporites in the Lower Proterozoic.
They are, in fact, rare, but it is not known whether this is a primary effect, or
whether they have been preferentially removed by erosion. In a few places, casts
of evaporite minerals have been found (Bell and Jackson 1974, Badham and
Stanworth 1977), so at least some evaporite deposition was taking place. In the
second explanation, the deep oceans had an oxidation potential low enough to
convert Fe3* to Fe**, but not so low as to allow the reduction of SO,2~ to H,S.
However this requires a seemingly delicate balance of oxidation potential over
the whole ocean. Another problem with the upwelling model is the low P content
of these rocks. The environment described is one in which enrichment in P occurs
today, but IF is notably deficient in it. Perhaps apatite as well as CaCO, was
prevented from forming by lowered pH. Yet another problem is the absence of
silicification of most Proterozoic carbonates. Why, if the oceans were so rich in
dissolved silica, were all shallow-shelf sediments not enriched in SiO, throughout
the Proterozoic?

The model outlined above explains most of the features observed in iron-
formations, while introducing fewer problems than any of the other hypotheses
that have been advanced. Note that it could be regarded as a variety of the
volcanic hypothesis. That is, the iron and silica are ultimately of volcanic origin,
but are transported to depositional sites remote from their site of introduction
into seawater, thus accounting for the similarity in mineralogy and chemistry,
but difference in sedimentary environment between Lake Superior and Algoma
deposits.
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PART Il. IRONSTONES

The second common iron ore type is oolitic, such as the Jurassic Minette deposits
of France and Great Britain, and the Silurian Clinton ores of North America.
Such ores are common, although individual deposits are much smaller than the
Precambrian ores. They are distinguished from iron-formation by a general ab-
sence of chert, oolitic instead of banded textures, and by mineralogy: their iron
minerals are hematite or goethite, chamosite, and siderite, with no significant
magnetite or low-Al iron silicates such as greenalite or minnesotaite. Bulk chem-
istry shows much higher aluminum, consistent with this difference in mineralogy
(Table 2-10). Although the well-known deposits are from the Phanerozoic, there
are Precambrian examples (Button 1976a).

These deposits have not generated as much interest as the iron-formations.
Even though they are usually unmetamorphosed, and contain many fossil remains
that can aid in deciphering their origin, there are fewer models for their formation,
and their mineralogy and chemistry has not been as thoroughly investigated.

Mineralogy

The mineralogy of ironstones is comparatively simple. Oxides and hydroxides
of iron, along with siderite and chamosite, make up almost all of the iron-bearing
species. Pyrite may be present as finely divided particles or as replacements of
ooliths or fossil fragments, but its undesirable metallurgical properties mean that
pyrite-bearing ironstones cannot be used as ore (Taylor and others 1952, p. 456).
Glauconite, the other common iron-aluminum silicate, is distinctive in its absence

Table 2-10. Bulk composition of some typical ironstones (%).

Goethitic, Hematitic, Chamositic, Sideritic,

Lorraine Newfoundland Northamptonshire Yorkshire
Sio, 5.4 9.9 13.4 7.8
Al,0, 4.3 3.2 7.4 84
Fe,0, 40.5 67.8 8.5 1.7
FeO 8.7 10.0 31.9 35.6
MnO 0.4 — — 0.4
MgO 1.6 0.4 2.5 4.0
CaO 15.1 2.4 6.1 10.5
H,0 7.2 2.8 8.5 4.2
TiO, 0.2 0.4 — 0.2
PO, 1.7 2.3 2.8 1.3
Cco, 15.0 1.1 17.4 25.3
S 0.04 — 0.5 0.1

Source: James 1966, tables 8, 9, 13, 16.
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from ironstones, but it is common in associated rocks, and so will be discussed
along with chamosite. Other minerals commonly found are kaolinite, calcite,
phosphates, detrital quartz, and sometimes amorphous silica. The phosphates
reported are low-iron varieties such as francolite rather than iron phosphates such
as vivianite.

Oxides

Iron oxides. There are many oxides and hydroxides of iron known, but only
hematite and goethite are commonly reported from ironstones. Some of the others
probably occur and a knowledge of their distribution might be useful. For instance,
maghemite has been produced in the laboratory under conditions close to those
in nature (Schwertmann 1959) and so may occur in ironstones. There is a solid
solution between maghemite and magnetite (Lindsley 1976, p. L22) and a mixed
maghemite-magnetite mineral has been reported from calcareous sediments of
the Indian Ocean (Harrison and Peterson 1965). Another possibility is B-FeOOH,
which, in the laboratory, forms in preference to goethite in chloride-rich solutions
such as seawater (Murray 1978). Some reported goethite or limonite may actually
be this phase. There does not seem to be any information on the occurrence of
the other iron hydroxide, lepidocrocite, in ironstones, nor on the relative distri-
bution of the hydroxides and hematite.

Carbonates

Siderite (chalybite in older literature) is the only iron carbonate reported in
significant amounts from ironstones. Ankerite is occasionally found (e.g., Smythe
and Dunham 1947), but may commonly be overlocked. Unfortunately, the tri-
gonal carbonates—siderite, dolomite, calcite, ankerite—are difficult to differ-
entiate in thin section, but all may be important minerals in ironstones. One clue
is that siderite has a higher index of refraction than the other common carbonates,
1.58-1.64; it is the only one with an index greater than Canada balsam (1.54).
Also, the ferroan carbonates are often brownish as a result of slight oxidation,
distinguishing them from low-iron varieties of calcite and dolomite. For further
discrimination it is necessary to use X-ray diffraction or staining (Warne 1962).
Careful application of these techniques, or microprobe analysis, to ironstone
deposits may reveal minerals such as ankerite in unexpected amounts.

Sulfides

The common sulfides in sedimentary rocks are pyrite and marcasite. Only pyrite
is reported from ironstones, but marcasite commonly occurs in similar sedi-
mentary sequences (e.g., Maynard and Lauffenburger 1978), and so may have
been overlooked in ironstone deposits. It is best differentiated from pyrite by
using polished sections: marcasite has a distinct greenish bireflectance and a
strong anisotropy, while pyrite is one of the few common isotropic sulfides.
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The available laboratory (Rickard 1969a, 1969b) and field evidence (VanAndel
and Postma 1954, p. 101) indicates that marcasite forms under lower pH con-
ditions (<7), while pyrite forms at higher pH. If this proves to be the most
important control on the distribution of these two minerals, their identification
in sedimentary rocks would provide valuable evidence about conditions of dep-
osition and diagenesis.

Silicates

The iron silicates of ironstones are considerably more aluminous than those found
in iron-formations. Common examples are chamosite and glauconite; also re-
ported are amorphous phases of similar composition and, occasionally, non-
tronite. The mineral name berthierine actually has precedence over the name
chamosite (e.g. Brindley 1982), but chamosite seems to still be the preferred
term, particularly in petrographic studies. Chamosite is a clay mineral whose
chemistry is similar to iron-rich chlorites (in fact, in the French literature it is
often referred to simply as chlorite) but which has a 1:1 sheet structure instead
of 2:1:1 as in true chlorites. That is, it contains one silica and one alumina sheet
in the unit structure instead of two silica, one alumina and one magnesium
hydroxide; accordingly, it exhibits a 7A instead of a 14A periodicity in X-ray
diffraction. Nelson and Roy (1958) termed such minerals septechlorites, which
includes serpentines and greenalite as well as chamosite (Fig. 2-13). Most anal-
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Fig. 2-13. Compositions of chlorite-like minerals (Nelson and Roy 1958). Dots are
analyses of chamosites from Schoen (1964), Porrenga (1965), Weinberg (1973),
Rohrlich (1974).
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yses of chamosites show more silicon than the formula used in Fig. 2-13,
Fe,AlSi,0,,(OH),. For instance, Schoen (1964) gave an average composition
Fe, Mg sAl; 451, 50,6(OH)s.

True chlorite is also found in iron-rich forms such as thuringite or bavalite
(James 1966, p. W7). These are usually associated with magnetite, suggesting
that they form by very low-grade metamorphism of chamosite. Distinction of
chamosite from chlorite in thin-section is difficult, but the chlorites tend to have
a bluish-green pleochroism compared with green in chamosite.

Glauconite is also commonly present in iron-rich sedimentary rocks, although
it is almost never found in the oolitic ironstones, and is itself never oolitic.
Mineralogically, it is an iron-rich variety of illite-smectite. As in the aluminous
illite-smectites, there is a close correlation between K content and the percent
of non-expandable (illite) layers (Thompson and Hower 1975, fig. 2), although
glauconite contains less K for a given proportion of non-expandable layers.
Another difference between these two mineral series is that some glauconites
have excess Fe** and Mg?* over the amount that can be assigned to octahedral
positions. Thompson and Hower (1975, p. 295) assigned these excess cations
to interlayer hydroxy complexes; after subtracting these interlayer cations, the
glauconite analyses match those expected for dioctahedral clays. Two examples
are (Thompson and Hower 1975, table 8):

Ko 73(Aly 1,Fe?, 4, F&y 36 Mg, 5,)(Sis 59Al, 5,)0,4(OH),
Ko 36(Aly 5sFe%) 30F€%) o Mg, 41)(Si; g7Al5 30)0,(OH),.

Presumably, glauconites go through diagenetic changes similar to those under-
gone by aluminous illite-smectite (Hower and others 1976): during burial there
should be an increase in K* accompanied by an increase in the porportion of
non-expandable layers and an increase in the ordering of mixed layers.

Nontronite, Fe-smectite, has been reported from two localities. In modern
sediments of Lake Chad, there are iron oxyhydroxide pellets that appear to be
undergoing conversion to nontronite by the addition of silica (Pedro and others
1978). The reaction proceeds from the center of the grain outwards, producing
a clay whose composition is approximately X, ,sFe, e;Mgo 20Aly 06515 53 O16(OH),
where X refers to exchangeable cations such as Na* or Ca’*. Note the low
aluminum content. Petruk (1977) and Petruk and others (1977) have described
nontronite and iron-rich opal from Cretaceous iron ores of western Canada (see
also Mellon 1962). The nontronite in this case is much more aluminous,
Fe, s¢Feq 31Al 96515 450,0(OH),. This deposit is perhaps unique among oolitic iron
ores in containing large amounts of amorphous silica.

Both chamosite and glauconite are aluminous compared with the iron silicates
of iron-formations. Why? Also, what factors dictate the predominance of cha-
mosite over glauconite in ironstones? We shall approach these questions by
considering the probable thermodynamic behavior of these phases and the avail-
able information on their distribution in modern sediments.
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Geochemistry

The geochemistry of ironstones can be conveniently described by considering
three problems: the relationship between siderite and pyrite, between glauconite
and chamosite, and between the iron oxides and hydroxides.

Pyrite-siderite

Eh-pH relations among pyrite, siderite, and hematite (e.g., Berner 1971, fig.
10-2) indicate that pyrite is the only stable Fe>* mineral at the sulfur level of
modern seawater. Thus, siderite in ancient rocks suggests low-sulfur waters such
as freshwater lakes and swamps (see Berner and others 1979, for a discussion
of the relationship of iron minerals to salinity). Siderite is, in fact, common in
fresh-water environments of modern deltas (e.g., Ho and Coleman 1969, p. 190),
and a fresh-water origin has been proposed for siderites in coal measure shales
of Great Britain (Curtis 1967).

On the other hand, siderite is commonly found in both shales and ironstones
of undoubted marine origin. How does it form in these environments? Curtis
has argued that, in marine shales, the rate of sedimentation is the controlling
factor (Curtis and Spears 1968, p. 269; Curtis 1977, fig. 3). In this model, slow
sedimentation permits complete conversion of reactive iron to pyrite, whereas
more rapid rates shut off the sediment from contact with the the sulfur in seawater
before all of the iron is converted to pyrite, thus allowing siderite to form. Several
lines of evidence suggest that such a kinetic hypothesis is probably not correct.
First of all, sulfide reduction, far from being suppressed by high rates of sedi-
mentation, shows a steady increase with increasing sedimentation rate (Berner
1978, Maynard 1980). Thus, there is no reason to suppose it would stop before
most of the available iron was consumed. Secondly, in most shales that I have
studied, the transition from siderite- to pyrite-bearing is abrupt, suggesting a
thermodynamic control, rather than gradual, as one would expect if a kinetic
factor like rate of deposition were controlling. Finally, observations of electrode
potentials in modern sediments show three distinct levels of oxidation potential,
which probably correspond to predominance of the oxide, the carbonate, and
then the sulfide (MacKenzie and Wollast 1977, fig. 2). It is even more difficult
to see how sedimentation rate could control the appearance of siderite in iron-
stones; from all of the evidence it forms early in slowly deposited marine sediments.

The absence of siderite from Eh-pH diagrams for marine sediments can be
overcome if, as was done in the previous section, primary phases such as Fe(OH),
and FeS are used instead of hematite and pyrite (Hem 1972, fig. 4). Such a
choice is supported by the common appearance of Fe(OH), and FeS as the first-
formed iron compounds in sediments; during diagenesis they are transformed to
the stable minerals (Berner 1971, chapter 10). With this set of phases, siderite
does have a small stability field (Fig. 2-14) showing that its occurrence in marine
sediments is consistent with thermodynamics and, thus, that kinetic arguments
are not necessary.
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Fig. 2-14. Eh-pH diagram for some common phases in ironstone deposits. Siderite is a
stable phase under normal seawater conditions (total S = 10??) if Fe(OH),
and FeS are used instead of hematite and pyrite.

Note that this approach is the same as that originally developed by Krumbein
and Garrels (1952) in their classification of sedimentary environments by Eh and
pH. Berner (1981) has proposed a modification of this classification in which
Eh and pH are not used as variables; instead environments are categorized by
the presence or absence of oxygen and the presence or absence of dissolved
sulfide. In this scheme, siderite is found in two diagenetic environments: first,
where decomposition of organic matter has led to the depletion of oxygen in the
sediment, but has not proceeded to the point of sulfate reduction, siderite forms
in what he terms post-oxic environments; second, if so much organic matter is
present that all of the available sulfate is consumed without using up the organic
matter, methane fermentation will begin, and siderite will again be stable because
so little dissolved sulfide is left. These two types of siderites should be isotopically
distinct. In post-oxic environments, carbon in diagenetic carbonates is light,
around —14 to — 15 permil; in methanic environments, it tends to be much
heavier, as much as + 15 permil (Irwin and others 1977).

The other mineral competing with siderite is calcite. For the reaction

FeCO, + Ca?>* — CaCO, + Fe?*
(siderite) (calcite)
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the data of Appendix 1 give a free energy of reaction of +12.92 kj. Thus, the
equilibrium constant for the reaction would be

K = aFez+/aCaz+= 00055,

siderite should be stable relative to calcite at Fe?*/Ca?* ratios higher than this
value. For comparison, the data of Murray and others (1978) for anoxic waters
of Saanich Inlet, British Columbia, show apz+ = 80 X 107% and ac.2+ = 1.1
X 1072, after correction for complexing effects using the data of Davison (1979).
The ratio is then 0.073, so siderite should be favored over calcite. Note that
Berner (1971, p. 200) calculated a much higher equilibrium ratio, 0.05, for this
reaction, using a different free energy value for siderite.

Chamosite-glauconite

Chamosite is virtually the only iron silicate encountered in ironstone deposits.
Why are glauconite and greenalite so rare? Greenalite is probably absent because
the sediments in which the ironstones formed were too rich in aluminum. Fig.
2-15 shows that at the very low aluminum concentrations found in seawater,
greenalite should be stable relative to chamosite. Thus, chemical deposits such
as iron-formation are greenalite-bearing. The aluminum to make the chamosite
of ironstones was probably not supplied to the environment of deposition in a
dissolved form, but rather by detrital clays, much in the same way that Carrol
(1958) proposed that iron is transported into a basin. For instance, suppose that
the aluminum to form chamosite is supplied by the dissolution of detrital kaolinite,
as proposed by Schellmann (1969):

ALSi,O;(OH), + 2.8Fe** + 3.6H,0 =
(kaolinite)
1.4Fe,Al, ,,Si, ,;O5(OH), + 5.6H*.
(chamosite)
Then no aluminum or silica need be added to the system. Fig. 2-16 shows that
the chemical compositions of chamosites are consistent with derivation from
kaolinite by the addition of iron. Using this assumption, diagrams like Fig. 2-
15 can be constructed.
For glauconite, the close similarity in structure to illite-smectite clays suggests
that an analogous reaction can be used:
Ko 6sF€%.66F€%0.66AL0.04513 §01(OH), + 3.22H,0 -
(glauconite)
0.69K,, s¢Fe?, , Fe?) 5 Al 56Si; 0,i(OH), + 0.75Fe(OH), + 0.29K* +
(illite-smectite)
1.17H,Si0, + 0.14H* + 0.43e".
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Fig. 2-15. Top. Greenalite is the Fe-silicate that would be expected to precipitate directly
from seawater; chamosite requires an additional source of Al. Bottom. The
amount of oxygen in the system determines whether iron precipitates as a
sulfide, silicate, or oxide. Siderite occupies the same O, range as chamosite,
but at higher CO,. Equilibrium with kaolinite is assumed. pH = 8, S =
10)-.



46 Chapter 2 Iron

Fe+Mg

“ & a

Hematite,
Goethite

.o

* * Chamosite

'._.
k——————————— =5
.

Kaolinite

.

Al

Fig. 2-16. Compositions of ooliths in ironstones of Newfoundland, Great Britain, France,
and China as determined by electron microprobe.

From equations of this type, the relations shown in Fig. 2-17 can be calculated.
I have inserted crystalline and amorphous fields for chamosite to show the range
that can be expected. The youngest samples that I have examined are Jurassic,
and these, although possessing an X-ray pattern, are so fine-grained as to be
nearly isotropic and contain much more water than the ideal formula. Thus, the
primary chamosite in these rocks is likely to have been cryptocrystalline, and
to have occupied a position on the Eh-pH diagram intermediate to the two extremes
shown. But, whatever the state of crystallinity of the chamosite, it can be seen
to occupy a lower pH field than glauconite.

It is tempting to suppose that this difference in response to pH accounts for
the distribution of these two minerals, but geologic evidence is against such an
interpretation. Chamosite is known from only a few modern localities, but in all
of these appears to form at normal marine pH, just like glauconite. Porrenga
(1965, 1967) found chamosite in shallow waters of the Niger delta, glauconite
in deeper water. He attributed this distribution to temperature, warmer water
favoring the chamosite; but the subsequent discovery of chamosite in cold inland
waters of Scotland (Rohrlich and others 1969) shows that this cannot be the
case. Could it be that chamosite always forms in shallow water? Most modern
and ancient occurrences suggest that this is an important factor, but Gygi (1981)
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Fig. 2-17. Eh-pH relations between chamosite and glauconite, suggesting that chamosite
should be favored by lower pH. Drawn for seawater activities of K = 10-22
and Al = 107%% Si = 10"

has presented thorough paleoecological documentation of a Jurassic ironstone
from Switzerland that formed at a depth of about 100 m. Conceivably, the
important factor is the mineralogy of the parent detrital clays. Most ancient
occurrences have chamosite in the proximal, glauconite in the distal facies (e.g.,
Hunter 1970, p. 118). A similar trend is commonly found for kaolinite-illite
distribution (Parham 1966, Edzwald and O’Melia 1975, Gibbs 1977), suggesting
that there may be a primary depositional control over the distribution of iron
silicates that is unrelated to diagenetic conditions. As yet the evidence for this
idea is mostly circumstantial; more careful examination of the distribution of
clay minerals in the shales associated with ironstones is needed.
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Oxides and hydroxides

As already discussed, there is not much known about the details of the distribution
of these minerals in ironstones. Hematite seems to be largely confined to the
Paleozoic, the most common mineral in younger deposits being goethite (James
1966, p. W3). An exception is the Jurassic Minette ores of France, which I have
observed to consist in a few cases of hematite, although goethite is more normal.
Probably there is a progressive dehydration of the iron during diagenesis:

Fe(OH), & FeOOH — Fe,0,.

Rarely, the final product of this sequence may be maghemite, vy-Fe,O;, rather
than hematite, a-Fe,O, (Deudon 1957).

Magnetite is sometimes found, and its presence poses some problems. In many
cases it is probably the product of low-grade metamorphism, as in the Ordovician
deposits of Brittany (Chauvel 1974) and Wales (Pulfrey 1933). In the Devonian
of Libya, however, magnetite of apparent low-temperature origin has been re-
ported (Hangari and others 1980). Here, oxygen isotopes of siderite and magnetite
suggest temperatures as low as 40°C. It is not obvious what special circumstances
favored the development of magnetite in this deposit; further, the oxygen isotope
systematics of siderite are poorly understood. Thus, more work is needed on
both the details of magnetite occurrences in ironstones and on oxygen isotopes
before we can understand the behavior of magnetite.

Stable isotopes

Little work has been done on stable isotopes in ironstones, but a considerable
body of information is accumulating on carbonate minerals in sedimentary rocks,
much of which can be applied to ironstones. Carbon isotopes show a systematic
variation with stage of diagenesis because of differences in the source of CO,
(Irwin and others 1977). Four major sources are known, the first being seawater,
which gives 8°C values near 0 permil, while the others involve diagenesis of
organic matter and yield distinctly different isotope ratios. In the sequence they
appear during diagenesis, and with typical carbon isotopic composition of the
CO, generated, these are

Oxidation: CH,0 + 0,— CO, + H,0 -20
Sulfate reduction: 2CH,0 + SO2~ =

2CO, + §*~ + 2H,0 -20
Methane fermentation: 2CH,0 = CH, + CO, +15

Note that these reactions correspond to Berner’s (1981) post-oxic, sulfidic, and
methanic diagenetic environments. Because the CO, from these reactions mixes
with that from other sources, a range of values is typically found. For instance,
carbonates believed to have formed via oxidation or sulfate reduction typically
have 8°C values of —20 to —15 permil (Irwin and others 1977, table 1),
presumably reflecting mixing with CO, from seawater. In the only study to date
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of siderite from ironstones, Hangari and others (1980) report 8°C values ranging
from —30 to — 12, indicating a predominance of organic sources of CO,.

Oxygen isotopes of siderite should be useful for determining the paleosalinity
of the diagenetic environment: meteoric waters typically have a lower 8'*0 than
seawater. Unfortunately, neither the analytical fracticnations nor the temperature
effect are known with sufficient accuracy to permit unambiguous interpretations.
In order to analyze carbonates for oxygen, they are usually dissolved in phosphoric
acid, which, because it converts only two of the three oxygens in the carbonate
to CO,, produces a large analytical fractionation. For calcite, the appropriate
fractionation factors are known, but they have not been investigated sufficiently
in the case of siderite. To make matters worse, different workers have used
different temperatures of reaction, making it impossible to compare results be-
tween laboratories. The same problem of temperature also applies to the diagenetic
environment: the oxygen isotopic composition of a carbonate mineral is a function
of both the temperature of the water from which it precipitates and its §'0.
Thus, either the temperature of formation or the &§'%0 of the water must be
determined by some independent method before the other can be determined by
measuring oxygen isotopes of carbonate minerals.

With these limitations in mind, we can briefly examine some results for oxygen
from siderite (Table 2-11). Timofeyeva and others (1976) suggested a salinity
scale with values less than 20 permil indicating freshwater, heavier values brack-
ish water or seawater. On this basis, Hangari and others (1980) interpreted
Devonian ironstones of Libya, which have an average 80 of 19.7, to have
undergone fresh-water diagenesis. Note, however, that the Canadian siderites

Table 2-11. Stable isotopes of siderite in shales and ironstones related to environment of
deposition.

Environment 8°C, mean (range) 8'%0, mean (range)

Pennsylvanian age shales, western Pennsylvania.’

Freshwater, lam. gray —4.75 (—6.89/—3.62)
Brackish, lam., black 0.54 (—1.38/3.91)
Marine, unlam., gray 1.53 (—2.18/3.36)
Freshwater shales, Cretaceous of western Canada.?
Edmonton Formation 10.6  (8.4/12.8) 22.9 (22.8/23.0)
Whitemud Formation 41 (—-1.1/7.7) 23.3 (22.8/23.6)
Siderite nodules, Russian platform.?
Freshwater 17 (10/18)
Brackish 24 (18/30)
Marine 26 (18/30)
Ironestones, Devonian of
Libya.* —18.4 (-29.5/—12.1) 19.7 (18.5/21.2)
Sources: 1. Weber and others 1964.
2. Fritz and others 1971.
3. Timofeyeva and others 1976.
4. Hangari and others 1980.
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investigated by Fritz and others (1971), although entirely freshwater in deposition
and diagenesis, are much heavier than predicted, about 23 permil. Obviously
much more work is needed.

Petrography

Ironstones are distinctive among iron ores in being predominantly oolitic. This
texture is also the central enigma of their origin: how is it that a feature so
characteristic of agitated, well-oxygenated water is found with ferrous minerals?

Careful descriptions of the petrography of the Jurassic ores of Great Britain
have been presented by Taylor (1949, p. 17-23) and Dunham (1952, p. 16-33).
Mineralogically, the ooliths consist of goethite, chamosite, or both. Siderite, or
even apatite, may occur as occasional thin laminae, but siderite is more commonly
seen as a matrix between the ooliths or as a replacement of pre-existing chamosite
or goethite ooliths; no primary siderite ooliths seem to occur. The proportions
of goethite and chamosite vary widely, even in the same bed, and some ooliths
show evidence of oxidation of chamosite to goethite, particularly in surface
exposures. In places, chamosite oolite grades into kaolinite oolite. The ooliths
are usually set in a fine-grained matrix of chamosite or siderite; if a cement is
present, it is usually sparry calcite. Also found in the section are non-oolitic
beds of sideritic mudstone, sometimes rich in apatite.

The ooliths in ironstones are commonly flattened or irregular in shape. Knox
(1970) separated chamositic ooliths from the Jurassic of Yorkshire into concentric
and eccentric varieties. Both consist of alternating laminae of dark, randomly
oriented and light, tangentially oriented flakes of chamosite. In the concentric
variety there is a central nucleus, whereas the eccentric type has an off-center
nucleus, and may have laminae on only one side of the grain. Both types tend
to form as oblate spheroids rather than as spheres, owing to the development of
an equatorial bulge. That is, growth was asymmetrical, resulting in an elliptical
cross-section. This flattening is, then, a result of differing growth rates rather
than deformation. Knox concluded that these ooliths did not form by accretion
in agitated water, but in relatively quiet water from which they were subsequently
washed up into oolite shoals. Similar mechanisms have been suggested by Mellon
(1962, p. 938) and Chauvel (1974, p. 144). In contrast, Bhattacharyya and
Kakimoto (1982) argued, based on the tangential orientation of the clay flakes,
that chamositic ooliths do originate by accretion, but initially as kaolinite, which
is converted to chamosite during diagenesis.

Chamositic and goethitic ooliths appear to differ somewhat in texture. For
instance, James and VanHouten (1979, p. 129) reported that the goethitic ooliths
from ironstone deposits of Colombia have a narrower size range, more varied
nuclei, and are more spherical than the chamositic ooliths. Thus, it seems likely
that in this case the two types of ooliths had a slightly different origin. Schellmann
(1969) similarly inferred two origins, with chamositic ooliths formed in place
in the sediment by reaction of dissolved iron with kaolinite, while goethitic
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ooliths formed in more agitated water where the iron was oxidized and the clay
winnowed out. In this model the chamosite ooliths are a sort of micro-concretion
while the goethitic ones are true ooliths. Many deposits, however, contain ooliths
made up of alternating layers of goethite and chamosite (Alling 1947), presumably
areflection of oscillating chemical conditions, which suggests that both chamosite
and goethite can be incorporated in ooliths by accretion.

Vertical Sequence

Ironstones occur almost exclusively in clastic sequences. Further, their position
is usually close to the shoreline, even brackish in some cases; they also correspond
in time to thicker sections in other parts of their basins of deposition. Three
examples serve to illustrate these points: the Wabana ores of Newfoundland, the
Clinton deposits of the eastern U.S., and the Jurassic ores of Great Britain.

The Wabana ores are early Ordovician in age and are confined to a small area
of eastern Newfoundland. Slightly younger equivalents occur in North Wales
(Pulfrey 1933) and in Brittany (Chauvel 1974) where the presence of magnetite
and stilpnomelane suggests low-grade metamorphism. Ranger (1979) interpreted
the Wabana deposits as having formed in a barrier-bar, tidal-flat complex based
on sedimentary structures, trace fossils, and paleocurrents. The following de-
scription follows his work with some details drawn from Hayes (1915) and my
own observations of the deposits. The sequence is entirely clastic; although trace
fossils such as Cruziana, Rusophycus, and Isopodichnus are common, no cal-
careous shell material is present, only phosphatic brachiopods. Ranger (1979)
divided the sediments into an offshore barrier-bar sequence and an inshore tidal-
flat sequence. The barrier bars were usually composed of massive, clean quartz
sands, but in two cases oolitic hematite substituted for the quartz, forming the
Dominion and Scotia ore beds. The tidal flat sequence consisted of lower sand
flats, middle mixed flats, and upper mud flats followed by a supratidal facies,
perhaps analogous to modern salt marshes, which comprises thin, mudcracked
black shales with interbeds of white, rippled sandstone. Just as with the barrier
bars, the quartz of the lower sand flat facies is sometimes represented by oolitic
hematite. Apparently, significant accumulations of iron were able to form when-
ever the supply of coarse detrital particles was reduced.

This nearshore complex developed adjacent to a delta which had a relief of
at least 60 m based on the thickness of the prodelta foresets in one locality. The
curious oolitic pyrite beds (Hayes 1915, p. 32) are found at the base of this
prodelta sequence, just above one of the major oolitic hematite beds (Fig. 2-
18). It is my belief that the pyrite formed during a relatively rapid transgression
of anoxic basin waters across iron-rich shallow-water sediments. This transgres-
sion was then followed by a slower progradation of the delta back out into the
basin, resulting eventually in the re-establishment of shallow-water conditions
and the deposition of the second major hematite bed. A similar depositional
pattern has been described by VanHouten and Karasek (1981) from Devonian
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Fig. 2-18. Vertical sequences in the main ore-bearing section at Wabana, Newfoundland.
The depositional cycle begins with transgression of reducing, basinal water
over shallow-water clastics, followed by progradation of deltaic sediments,
ended by deposition of oolitic ironstone as the last member of the regressive
phase.

ironstones of Libya where oolitic chamosite-hematite beds accumulated at the
top of coarsening-upward deltaic sequences during episodes of delta abandon-
ment. Unlike the Wabana deposits, large vertical burrows penetrate the iron-
stones, and lag deposits of ferruginous phosphate overlie many of the ironstone
beds.

Ranger (1979) theorized that the hematite ooliths formed originally as cha-
mosite in lagoonal waters low in oxygen, and were subsequently washed up into
the offshore bar or the lower sand flat facies, being oxidized to goethite (since
dehydrated to hematite) in the process (Fig. 2-19). Microprobe analyses of the
hematites (Fig. 2-16), however, show little aluminum, so derivation by oxidation
of chamosite is unlikely, and the iron must have been precipitated directly as
Fe(OH),.

The Silurian age Clinton ores of the eastern U.S. have stirred much interest,
but the only regional sedimentological description is that of Hunter (1970). The
ironstones are distributed over a wider range of facies than at Wabana, but are
still predominantly found in what appear to have been lower intertidal to shallow
subtidal areas. Hunter divided the Clinton group into eight facies types based
on mineralogy (Fig. 2-20). Note that the facies distribution suggests deepening
water to the west, until shallower water is reached again on the carbonate platform.
Ironstones were best developed in shallow subtidal environments. Offshore bars,
although present (Folk 1962), do not appear to have been important in localizing
the ironstones. Each episode of ironstone deposition seems to be related to a
general shallowing of the basin: ironstones in the distal part of the basin correlate
with a tongue of sandstone prograding from the southeast (Hunter 1970, fig. 2)
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Fig. 2-19. Interpretation of paleoenvironments of the Wabana ironstone by Ranger (1979):
a. barrier bar; b. lagoon (low Eh sediments); c. tidal flat; d. supratidal algal
marsh (low Eh and high P.,; e. abandoned distributary. Iron was leached
from sediments of marsh environment (f), carried by groundwater to lagoon,
and precipitated as chamosite ooliths (g). These were subsequently reworked
into bar and tidal flat sediments (h).

and with an expansion of the carbonate facies. During Late Clinion Time, the
style of deposition changed to more open marine (Fig. 2-20); the Lingula-bearing
chlorite- and hematite-cemented sandstones were succeeded by carbonate-cemented
sandstones with a normal shelf fauna, and the green shales were succeeded by
more organic-rich gray to dark gray shales.

-~ glauconite j=a—Cchamosite ~f~a- hematite —s=
Fig. 2-20. Facies of iron deposition in the Silurian of the Appalachian Basin, with major
ironstone beds shown in black. Abbreviations: C-c, calcite-cemented sand-
stone; Si-c, silica-cemented SS; H-c, hematite-cemented SS; Ch-c, chlorite-
cemented SS; R, red, argillaceous SS (after Hunter 1970, fig. 2-4).
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The best development of the Clinton ores is in the southern Appalachians near
Birmingham, Alabama. Chowns and McKinney (1980) have presented a de-
scription of the facies succession that has many similarities to that at Wabana.
Three coarsening-upward, progradational cycles can be recognized, each cul-
minating in ironstone deposition. The cycle begins with prodelta turbidites and
shales, which pass upward into hummocky-crossbedded sandstones with in-
terbedded shales. This facies is interpreted as having been deposited below normal
wave base, but in sufficiently shallow water to be affected by storms. Above
these is a shallow subtidal to intertidal facies consisting of medium to coarse
sandstone, coated with hematite and cemented with quartz. It seems to correspond
to Hunter’s (1970) silica-cemented sandstone facies, but the relationship of the
other units to Hunter’s mineralogic classification is uncertain. Cross-bedding in
this facies is bipolar, as at Wabana, indicating tidal currents, and the trace fossil
assemblage is mixed Cruziana-Scolithus. To the west, this facies passes into rich
ironstone beds made up of abraded fossil debris in a hematite matrix. These were
the self-fluxing ores of the Birmingham area. Oolitic ore beds are not common,
but a few chamosite oolites and hematite-replaced chamosite oolites are known.
Sheldon (1970) believed that, just as in Ranger’s (1979) model for Wabana, the
ore-grade beds were formed in lagoons (chamosite) or barrier bars (hematite).
He further advocated an origin of the hematite by replacement of earlier-formed
chamosite.

A number of ironstone deposits are found in the Jurassic of Europe. Their
facies patterns, especially in Great Britain, have been described in a series of
publications by Hallam (1963, 1966, 1967a, 1975, p. 39-46). Additional ref-
erences to the continental European deposits can be found in Bubenicek (1964,
1968), Nicolini (1967), and in the series of papers in volume 31 (1979) of
Geologische Jahrbuch. The ores are found predominantly in clastic associations,
although some are highly calcareous (Taylor 1951, fig. 2), and they correspond
in time to much thicker sequences elsewhere in the basin of deposition. Although
brackish water conditions can be inferred for some deposits (Talbot 1974), most
seem to have been deposited in water of normal marine salinity (e.g., Brookfield
1973). Rather than being near-shore or intertidal like the Wabana and most of
the Clinton ores, they are thought to have been deposited on offshore swells
(Fig. 2-21). This “Becken und Schwellen” style of deposition seems to have
been more common in the geologic history of Europe than in North America,
possibly accounting for the difference in the style of ironstone accumulation.
The swells would have been responsible for the condensed section, and may
also have protected the ironstones from dilution by clastics (the “clastic trap”
hypothesis of Huber and Garrels 1953). Hallam (1967a, p. 431) suggested that
the ironstones were an intermediate facies between clastics and carbonates, and
that the type of sediment was controlled by the balance of two factors, the degree
of water agitation, and the rate of terrigenous supply, which, in turn, was a
function of proximity to rivers (Fig. 2-22).

In Yorkshire, where the section is almost entirely clastic, a vertical sequence
much like that at Wabana is found. Hemingway (1951) described a sequence
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Fig. 2-21. Facies of iron deposition in Jurassic ironstones of Great Britain (Hallam 1975,
fig. 3-9).

Decreasing influence of rivers and

terngenous sedimentation

Decreasing water agitation

Fig. 2-22. Relationship of ironstone facies to current activity and rate of clastic supply
(Hallam 1975, fig. 3-5).
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Lithology Stages

Fig. 2-23. Cyclic deposition in Jurassic ironstones of Yorkshire. In this interpretation,
a cycle begins with deposition of a black shale, passes up through gray shales,
then sandstones, and finally into oolitic ironstones. The lower cycle contains
an incomplete progression in which no ironstone developed; instead renewed
deposition of pyritic shale began. Letters refer to stage names: Rhaetic, Het-
tangian, Sinemurian, Pliensbachian, Toarcian. Compositions of concretions
from Hallam (1967b).
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black shale — gray shale = sandstone — ironstone that, based on analogy with
the Black Sea, he interpreted as caused by shoaling of the water (Fig. 2-23).
Because he believed the sideritic shales of the Lower Pliensbachian to be shallow-
water ironstones, he identified three such cycles, but the rocks in question look
more like normal prodelta shales with scattered siderite nodules. I have, therefore,
divided the section into only two cycles, each beginning with a pyritic shale and
culminating in ironstone deposition, with an incomplete cycle within the lower
one representing Hemingway’s first cycle. This interpretation is also more con-
sistent with the data of Hallam (1967b), who found that the carbonate nodules
in this section show a cyclic variation in the proportion of CaCO, to FeCO, (Fig.
2-23), which he related to proximal-distal variations, the pure CaCO, concretions
forming in the most distal sediment.

Hallam and Bradshaw (1979) have used the concept of a progradational cycle
of black shale and ironstone deposition to explain facies successions in the Jurassic
and Lower Cretaceous. They proposed that the black shale at the base of the
cycle formed during a rapid regional transgression. Thus, the base of each black
shale is approximately a time line. Next, a coarsening-upward clastic sequence
was deposited, culminating in shallow-water sandstones. After most clastic dep-
osition ceased, the ironstone member of the cycle was deposited, followed by
another transgression and renewed black shale deposition. It is not clear in this
model whether a drop in sea level is necessary for the ironstone to form, or
whether ironstone deposition followed submergence of the delta plain owing to
continued compaction after migration of distributaries away from the site of
deposition.

The above descriptions point to what we might call an ideal vertical sequence
of ironstone deposition. It describes well the ironstones of four major areas:
eastern Newfoundland, Alabama, Libya, and Yorkshire. A similar model has
been proposed by van Houten and Bhattacharyya (1982), but with the addition
of a burrowed, phosphatic hardground at the top of the sequence. How general
this progradational model is needs to be tested by carefully examining the stra-
tigraphic succession for other cases. For example, Late Jurassic ironstones of
Switzerland were relatively deep-water deposits (Gygi 1981); further, some of
the Silurian ironstones of the Appalachians are almost entirely in carbonates.
Thus, not all ironstones formed in this model setting. More work is needed to
find out how many did, what features of this depositional sequence particularly
favored ironstone formation, and if those features can be found in some form
in the anomalous cases.

Theories of Origin

No satisfactory general model for the origin of ironstones has been developed.
Largely this failure is attributable to the absence of modern analogues, but, as
indicated in the preceding discussion of the vertical sequence, ironstones may
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form in more than one way. The problem is best considered by separating it into
two parts, the origin of the oolitic texture and the source of the iron.

Geologists have long been perplexed by the presence of ferrous minerals such
as siderite and chamosite, which one would expect to form in quiet, low-oxygen
water, in oolite, a rock normally associated with agitated, well-oxygenated con-
ditions. In order to avoid this dilemma, Kimberley (1979) revived an old idea
of Sorby and Cayeux that the ooliths were originally calcareous. He proposed
that the ooliths were initially composed of aragonite that was subsequently trans-
formed to chamosite and goethite by downward-percolating meteoric waters that
leached iron from organic-rich fluvio-deltaic sediments immediately above the
ironstone. The lack of carbonate sediments in most ironstone sequences, the
evidence for early formation of the ooliths, and the rarity of the proposed stra-
tigraphic succession have been cited as evidence against this model (James and
VanHouten 1979, Hallam and Bradshaw 1979, and discussions of the original
paper). Another problem is the aluminum content of these rocks. Oolitic lime-
stones are not argillaceous, so that a considerable amount of aluminum, as well
as iron, must be added. For chamosite oolite, the Al/Fe ratio is 0.40, for goethite
0.16 (James 1966, tables 8 and 13). Because aluminum is one of the least mobile
elements in sedimentary systems, it is improbable that meteoric water could have
added this much aluminum to ironstones. Instead, it must have been present in
detrital clays.

Another hypothesis is that the ooliths themselves are detrital, being eroded
soil ooliths and pisoliths from lateritic terrains (Siehl and Thein 1978, Nahon
and others 1980). This is an attractive idea, because it provides a source of the
iron and the aluminum and an explanation of the texture. Most deposits that I
have studied, however, have nuclei for the ooliths incompatible with a soil origin,
such as phosphatic or calcareous shell debris or quartz grains; furthermore, soil
ooliths and pisoliths typically exhibit a radial orientation of clay flakes, whereas
ironstone ooliths are tangential (Bhattacharyya and Kakimoto 1982). Another
good test for the presence of ooliths from lateritic soils is the presence of high-
aluminum goethite (Nahon and others 1980, p. 1295), which is generally absent
from ironstones (Fig. 2-16). Thus, although it might apply in some cases, this
cannot be a general explanation. These arguments do not, however, preclude a
pre-concentration of the iron in the source area by lateritic weathering, with
rearrangement into ooliths in the environment of deposition.

A more likely explanation for the origin of the ooliths is that of Knox (1970)
who suggested that the chamositic ooliths formed in relatively quiet water from
which they were washed up into shoals, possibly by storms. Most likely, the
goethitic ooliths were formed in more agitated water (James and VanHouten
1979). Alternating bands of chamosite and goethite can be explained by reworking
of the ooliths from the less agitated part of the depositional environment into
more agitated water, then back again. As discussed in the geochemistry section,
it is unlikely that the goethite ooliths arise by oxidation of pre-existing chamosite.

But where does the iron come from? There are five ways in which iron can
be transported to the site of deposition (Table 2-12). As yet there is not sufficient
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Table 2-12. Possible mechanisms for the production of oolitic ironstones.

Origin of Ooliths
Replacement of pre-existing aragonite ooliths by iron-bearing solutions.
Erosion and redeposition of soil ooliths and pisoliths from lateritic terrains.
Direct precipitation from seawater as true ooliths.
Formation in a quiet water environment, either as scattered ooliths on mudflats or as
microconcretions within the sediment, then transport into sand bars.

Source of the Iron
Volcanic
Ground water
Downward—from overlying organic-rich muds.
Upward—from underlying aquifers such as submarine springs.
River water (iron in true solution, as colloids, or as organic complexes).
Seawater (upwelling of deep, anoxic basin water onto an aerated shelf).
Pore waters (upwards diffusion of iron from underlying organic-rich sediments).

information to point to any one of these as the correct mechanism, but some are
more likely than others. For example, there is no evidence for a volcanic source
for the iron, and supply of iron by diffusion from underlying organic-rich sed-
iments is unlikely, based on the observed vertical sequence, although non-oolitic
iron accumulations with this presumed origin can be found in the Gulf of Mexico
(Pequegnat and others 1972) and the Black Sea (Manheim and Chan 1974, p.
171).

The other sources have all been advocated at one time or another. Downward-
moving ground water, Kimberley’s (1979) model, seems unlikely for reasons
already mentioned, but upward-moving ground water, discharging from sub-
marine springs, could introduce iron to the depositional environment to be pre-
cipitated as primary ooliths, thus avoiding the difficulties with replacement of
earlier carbonate ooliths. Bog iron ores form in a similar fashion, which led
James (1966, p. W48) to suggest this as a general mechanism for ironstones. It
has the great advantage of providing for introduction of ferrous iron into an
agitated environment, without simultaneously introducing large amounts of clas-
tics. Submarine springs are common on modern shelves (Manheim and Chan
1974, p. 168), but not associated with any noticeable iron enrichment. If ground
water were important in genesis of ironstones, it should be detectable in their
oxygen isotopes. For siderite, and even more so for chamosite and goethite, we
do not yet know how to interpret oxygen isotopes, but they should be measured,
and calcite cements could be compared with those in carbonate rocks (e.g.,
Magaritz and others 1979).

Transport of iron by river water has probably been the most popular hypothesis
(e.g., Taylor 1949, p. 80; Hallam 1975, p. 44). Very little iron can be transported
in true solution under oxidizing conditions, and Boyle and others (1977) have
shown that almost all of the “dissolved” iron in rivers is carried as mixed iron
oxide-organic matter colloids. These are rapidly precipitated in estuaries, and so
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constitute a potential source of iron for semi-restricted, near-shore basins. An
alternative mode of transport of iron is as coatings on detrital clays (Carroll 1958)
or as laterite particles. Such iron can be dissolved, under reducing conditions,
to be reprecipitated elsewhere in the basin. Lemoalle and Dupont (1973) suggested
that iron for oolith formation enters Lake Chad as clay coatings.

Another source of iron is upwelling of basinal water onto the shelf (Borchert
1960), as discussed for the iron-formations. For Phanerozoic oceans, the sulfur
content has probably always been too high for this to be a general mechanism:
the Black Sea today does not contain appreciable dissolved iron because it is
mostly precipitated as a sulfide in deep water. During parts of the Pliocene and
Miocene, however, the Black Sea was brackish to fresh water, and large siderite
deposits formed (Hsu 1978a, p. 513; 1978b). Thus, Borchert’s model might
apply to large brackish-water basins, but most ironstones seem to have been
deposited in water of normal marine salinity.

Further insight into the feasibility of these mechanisms can be gained by
considering the amount of iron each is likely to be able to deliver. For a standard
of comparison, we can use the Kerch ironstone (Pliocene) of the Soviet Union.
From data in Kimberley (1979, p. 115 and 121), iron was deposited here at a
rate of 10° kg/yr, close to that estimated by Holland (1973) for the Precambrian
IF of the Hamersley basin. For river transport in solution, we can use the Mullica
River of New Jersey as typical of the highest likely iron concentrations; it contains
25 micromoles/liter (Boyle and others 1977, table 5). Thus, a deposit like Kerch
would require a river or group of rivers with a discharge of 7 X 10" liters/yr,
similar to the Rhine or the Nile. But such a high discharge is normally associated
with suspended sediment loads of between 10° and 10® tons/yr (Strakhov 1967,
table 3). Thus, the ratio of clastic to iron transport would be at least 10 to 1.
Consequently, if the iron for these deposits is introduced as colloids by rivers,
an exceptionally efficient mechanism must exist for separating the iron from the
clastics. For river transport of iron in the solid phase, there is little data on which
to base a calculation, but some information is available for the Nile, which we
can perhaps take as representative of large tropical streams. It has a suspended
solids concentration of about 540 ppm, of which about 9 percent is iron (Garrels
and Mackenzie 1971). Thus, at a discharge of 3000 m*/sec, it contributes 40 X
10® kg of Fe to the Mediterranean each year. Its SiO, concentration is too high
for this sediment to be similar to an ironstone, about 45 percent, but it can be
seen that it would be feasible for a deeply weathered, low-quartz terrain to
contribute large amounts of particulate iron to a.marine basin.

For submarine springs of fresh water, the highest iron concentration is likely
to be about 10 ppm (Strakhov 1967, table 16). Accordingly, a discharge of 7
X 10" liters/yr would be required to form a deposit like Kerch. Data from
coastal plain aquifers suggests that this volume would be hard to obtain. The
Castle Hayne Limestone, the principal confined aquifer of the North Carolina
coastal plain, transports water seaward into estuaries at 4 to 6 X 10 liters/yr
(calculated from data in Sherwani 1973, p. 27-28); porous shallow aquifers of
the Dutch coastal plain transmit water at a rate of 25 m/yr (deVries 1974), which,
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for an average aquifer thickness of 100 m and a discharge width of 100 km,
would result in only 10" liters/yr discharged to the oceans. Thus, this mechanism
seems to be adequate only for smaller deposits.

Upwelling of deep basin water can supply considerably more iron. To use the
Black Sea as an example, it receives 10 X 10° tons/yr of suspended sediment,
mostly from the Danube (Strakhov 1967, table 3). If only one percent of this
amount were present as reactive iron compounds (data in Berner 1971, p. 208
suggest as much as 6 percent), then 8 X 10° kg/yr of Fe would be available.
Thus, this mechanism is quantitatively adequate, but probably is not generally
applicable because it requires brackish or fresh water.

To summarize, there is no generally acceptable mechanism for the formation
of these deposits. Possibly they are polygenetic. At present, supply of iron as
clastic particles by streams draining deeply weathered tropical terrains seems the
most plausible. The ooliths probably formed from this iron as micro-concretions
in mudfiats (chamosite) or as true ooliths in more agitated water (goethite).



CHAPTER 3.

Copper and Silver

Now the fiery blood began to dissolve the sword in iron icicles. It
was wonderful how it melted completely away, like ice when the
Father who controls the tides and seasons looses the frozen
shackles and frees the imprisoned waters.

Beowulf, line 1605-1610.

From David Wright (trans.), Beowulf.

(Baltimore, Maryland: Penguin Books, 1957, p.65.)
Reprinted with permission of the publisher.

Sedimentary deposits of copper are common, contributing between 25 and 30
percent of the world’s production (Jacobsen 1975, table 1). Most of this amount,
however, comes from one district, the Central African Copperbelt. Silver is
almost always associated with the copper in these ores, and so will also be
considered in this chapter. Also discussed are supergene deposits of copper and
silver. Although of diminished economic importance today, they serve to illustrate
the geochemical processes involved in ore-formation without some of the un-
certainties associated with interpretations of the genesis of the larger deposits.

Copper has a fairly uniform distribution in the intermediate to basic igneous
rocks (Table 3-1), and Cu deposits are common in association with volcanic and
plutonic rocks of these compositions. Among sedimentary rocks, carbonates are
conspicuously low in Cu, which is reflected in the nearly exclusive association
of commercial deposits with clastic rocks. Also, note that carbonaceous shales
have nearly three times the amount of Cu found in other shales, showing the
importance of reducing conditions for precipitating Cu in sediments. By far the
highest concentration is in pelagic clays, where the Cu is associated with Co
and Ni in iron-manganese nodules. These deposits may be an important source
of Cu in the future. Silver has much the same distribution as Cu, but is not as
strongly depleted in seawater, carbonate rocks, and quartz arenites.

Mineralogy

The mineralogy of Cu has been extensively studied and is relatively straight-
forward, although some complexities are found in sedimentary deposits because
of the presence of metastable phases. For the most part, only sulfides and native
metals are important economically, although carbonates such as malachite and
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Table 3-1. Abundance of Cu and Ag in common geological materials.

Cu (ppm) Ag (ppb) CwAg x 1000
Igneous Rocks
peridotites 47 60 0.78
basalts 90 100 0.90
andesites 53 80 0.66
granites 13 37 0.35
Sedimentary Rocks
shales
average 35
red 150
green 190
black 95 290 0.33
sandstones
quartz arenites 30
arkoses
graywackes 11 250 0.044
limestones 6 125 0.048
Sediments, seawater
pelagic clays 251
seawater 0.0015 0.32 0.0047

Source: Wedepohl 1969, tables 29-E-6, 29-1-2, 29-K-2, 47-E-1, 47-1-2, 47-K-1.

azurite are common and even make up the bulk of a few deposits. The usual
minerals encountered are listed in Table 3-2, along with the most helpful prop-
erties for distinguishing them in polished section.

The Cu-S system was once thought to comprise only CuS and Cu,S, but a
number of intermediate phases are now known. Their mineralogy and thermo-
chemistry has been researched in detail, but less is known about their distribution
in nature. Of the chalcocite-like phases, anilite and djurleite are optically indis-
tinguishable from chalcocite; careful X-ray or microprobe study is necessary to
identify them. Digenite can usually be distinguished from chalcocite, where the
two occur together, by its more blueish color. Digenite apparently requires small
amounts of iron in its structure (Potter 1977, p. 1531), and so may be an
intermediate phase in the transformation of chalcocite to bornite or vice versa.

Covellite also occurs in several forms. Those which fail to show the char-
acteristic blue to red bireflectance in oil are termed blaubleibender (blue-remaining)
covellites. At least two distinct compositions occur (Table 3-2), for which the
mineral names yarrowite and spionkopite have been used (Goble 1981, table 1).
These phases appear to form as metastable intermediates in the reduction of
normal covellite to chalcocite (Rickard 1972):

2CuS + 2H* + 2¢~ = Cu,S + H,S,

or the reverse, the oxidation of chalcocite to covellite during supergene enrichment
(Sillitoe and Clark 1969, p. 1703).
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Geochemistry

Chapter 3 Copper and Silver

Fig. 3-1.

Eh-pH diagram for copper ox-
ides and sulfides showing re-
gion of solubility under
oxidizing conditions at pH less
than 6 (2Cu, ZS = 107%).

Eh-pH changes and chloride complexing dominate the geochemical behavior of
Cu and Ag at low temperatures. As shown in Fig. 3-1, there is a large field of
Cu solubility under oxidizing conditions at moderate to low pH. Iron is less
soluble under these conditions (Fig. 2-4), so that an efficient mechanism is
available for separating Cu from Fe. Also, note that Cu should precipitate as a
sulfide or as native copper under reducing conditions. Thus, Cu will tend to

Ag*

Eh

2 Ag,S

Acanthite

Native Silver
Ag

4 6 8 10

Fig. 3-2.

Eh-pH diagram for Ag shows,
as with Cu, a region of solu-
bility at high Eh, but no in-
soluble oxides at high pH (ZAg
= 1075, ZS = 107%).
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Effect of C1- on Cu solubility.

Note the region of increased ok 4
solubility at C1- > 10-2 (pH = Cu*?
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migrate from areas of oxidation and concentrate in areas with reducing conditions.
The redox behavior of Ag is similar (Fig. 3-2) except that there are no Ag oxides
or carbonates analogous to those of Cu. Because of this similarity, Ag tends to
parallel Cu in enrichment. Most Cu deposits also produce Ag, and Cu/Ag ratios
in ores are close to that for the Earth’s crust (Rose 1976). An important exception
is the Central African Copperbelt, which has Co rather than Ag as an accessory.

Chloride-bearing solutions are important, perhaps critical, for the transport of
these metals because their solubility is greatly increased by chloride complexing
(D.E. White 1968). Rose (1976) has shown that the solubility of Cu in particular
is greatly enhanced by the formation of such complexes as CuCl; and CuCl3~
(Fig. 3-3, 3-4). In fact, transport of sufficient Cu to form large orebodies in the
absence of chloride complexing is difficult, if not impossible, unless some pre-
existing enrichment, such as in supergene alteration of porphyry coppers, is
present.
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Supergene Enrichment

The geochemical properties outlined above can be illustrated by considering the
behavior of Cu and Ag during supergene enrichment. Most Cu deposits, partic-
ularly hydrothermal deposits of the porphyry type, exhibit some degree of en-
richment near the water table. Formerly, these enrichment zones were the principal
source of Cu, but now the supergene Cu in most deposits is exhausted, and the
lower-grade primary material is mined. Note that these ores are normally dis-
cussed along with their hydrothermal protores, but the enrichment itself is entirely
a surficial process. Furthermore, it serves as a useful comparison for Cu deposits
in sediments, and as a useful contrast to other metal enrichments in soils such
as Al and Ni (Chapter 4).

These enriched zones display a pronounced vertical zonation. There are two
major subdivisions: the overlying zone of oxidation, and, below the former
position of the water table, the zone of enrichment. The zone of oxidation is
characterized by large amounts of goethite, accompanied in some cases, especially
where a carbonate wall rock is present, by oxidized Cu minerals such as malachite
or tenorite. Under very arid conditions, as in the Atacama desert of Chile,
chlorides (atacamite) or sulfates (brochantite) are also found in the zone of
oxidation. The Chilean deposits have produced large amounts of Ag, much of
it from halides in the zone of oxidation, but most from native Ag and Ag sulfides
in the zone of enrichment (Park and MacDiarmid 1975, p. 487-491). In Cu
enrichment, the chief ore mineral reported is “chalcocite” (see, for example, the
descriptions of individual deposits in Titley and Hicks 1966), much of which is
probably djurleite and anilite. Some covellite is also found, usually overlying
the chalcocite at the boundary between oxidizing and reducing conditions (Pe-
terson 1954, p. 374).

The broad division into an overlying leached, oxidized zone and an underlying,
enriched reducing zone is readily explained by Fig. 3-5, in which the Eh-pH
diagram for iron has been superimposed on that for Cu. Rainwater, falling on
a pyrite-containing rock or a soil derived from it, will begin with a composition
like that given by point A, but will move rapidly to a lower pH owing to the
oxidation of the ferrous sulfide. As this water passes down through the soil, it
leaches Cu from primary Cu minerals such as chalcopyrite or from earlier su-
pergene Cu minerals, leaving behind the Fe as goethite. When this water reaches
the ground water table, it encounters reducing conditions, and precipitates its
Cu, to some extent as native copper, but mostly as “chalcocite.” Note that the
Fe is now soluble, so there will be a tendency for “chalcocite” to replace pyrite,
but because pyrite is relatively slow to react, bornite and chalcopyrite are the
minerals preferentially replaced (Anderson 1955, p. 327). It can be seen from
Figs. 3-2 and 3-4 that Ag should be subject to the same behavior.

Similar diagrams can be used to show why this process is only important for
Cu and Ag (Garrels 1954). Lead has an insoluble sulfate, anglesite, and so is
left behind in the zone of oxidation in a dispersed state. Zinc, on the other hand,
is relatively soluble under all conditions, and so tends to be lost from the system
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altogether. An exception can be found in the limestone-hosted lead-zinc deposits
of Mexico, where the leached zinc is redeposited lower in the profile as the
carbonate, smithsonite (Jensen and Bateman 1979, fig. 14-3).

This simple Eh-pH model fails, unfortunately, to explain the details of the
sulfide mineralogy. For example, the various metastable phases are unaccounted
for. Furthermore, covellite should be found under more strongly reducing con-
ditions than chalcocite, based on their positions on Fig. 3-1, yet it is normally
found at the boundary between the enriched and oxidized zones. Experimental
evidence (Sato 1960) indicates that oxidation of chalcocite does not proceed by
the simple congruent reaction used to calculate the Eh-pH relations shown,

Cu,S + 4H,0 - 2Cu** + SO2~ + 8H* + 10e-.

Instead, there is a step-wise removal of Cu that Jeaves a solid progressively
enriched in sulfur. For instance,

Cu,S = Cu, S + 0.25Cu** + 0.50e"
Cu, ;58S = CuS + 0.75Cu?* + 1.50e”
CuS - Cu®* + S + 2e".

Note that in this case djurleite and covellite form as metastable intermediates
in the oxidation of chalcocite, but, because they are not the phases with the
lowest free energy under these conditions, they do not appear on thermodynamic
diagrams. There is some field evidence for this sequence. Sillitoe and Clark
(1969) have described the oxidation of a supergene Cu deposit in Chile in which
progressions like

Cuy oS = Cy,,S - CuS
(djurleite) (blaub.cov.) (covellite)
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are found. During reduction, within the zone of enrichment, the reverse should
happen. Cailteux (1974, p. 272-275) reported a step-wise addition of Cu during
supergene enrichment of sedimentary Cu in Zaire,

CuFeS, = CuS - Cu,,S = Cu, S = Cu,,,S.

If these sequences prove to be generally applicable, there should be two gen-
erations of covellite in a supergene deposit, one at the top of the enriched zone
replacing chalcocite, the other at the base of the enriched zone replacing chal-
copyrite or bornite.

Examples

Let us now turn to an examination of four well-known occurrences of Cu in
sedimentary rocks to see how the principles just developed can be applied. Of
the various types (Table 3-3), sandstone Cu is similar to roll-front uranium
mineralization (Anhaeusser and Button 1972, Shockey and others 1974, Wood-
ward and others 1974, Caia 1976), and so the discussion in Chapter 6 covers
the principles of their genesis. The others are treated in the order of increasing
controversy in their interpretation.

White Pine, Michigan

The upper peninsula of Michigan contains two sizeable Cu districts (Brown
1974). The first contains native copper and is found in the basic volcanics of
the Portage Lake lava series; the second, in the base of the Nonesuch Shale, is
mostly chalcocite with subordinate native copper. Several hundred meters of
red beds, the Copper Harbor Conglomerate, separate the two stratigraphically.
The native copper deposit may be magmatic (Amstutz 1977) or hydrothermal-
epigenetic (W.S. White 1968), but the ores in the Nonesuch Shale are most

Table 3-3. Varieties of sedimentary copper deposits.

Type Example Dominant Process

Supergene Chincharilla, Chile Weathering of pre-existing
accumulation.

Epigenetic in sandstone  Paoli, Oklahoma Introduction by lateral ground
water flow.

Epigenetic in shale White Pine, Michigan Introduction by upwards ground
water flow.

Red-bed evaporite Creta, Oklahoma Introduction by saline ground
water in sabkhas.

Controversial Kupferschiefer, Central ~ Variously interpreted as synge-

African Copperbelt netic, or one of the above, or

even hydrothermal.
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likely ground water-epigenetic. A low-temperature origin of these sulfides is
suggested by the predominance of chalcocite and djurleite and by preservation
of temperature-sensitive organic constituents (Brown 1971, p. 565); epigenetic
rather than syngenetic deposition of the Cu is indicated by the discordance of
the mineralization with bedding on a regional scale, and by the mineral zonation
(White and Wright 1966).

The zoning has been studied in detail in the area near the town of White Pine
by Brown (1971). The sequence, passing upward, shows a steady decrease in
Cu and an increase in iron:

native copper — chalcocite = bornite = chalcopyrite — pyrite

(Fig. 3-6). The pyrite zone makes up the bulk of the Nonesuch, and contains
no more that 0.05 percent Cu. Other minerals found are djurleite and digenite
at the top of the chalcocite zone, suggesting a gradual transition from chalcocite
to bornite. Sometimes, native silver occurs with the native copper; covellite is
conspicuously rare. Note that the sequence of minerals found is nearly the same
as that seen in supergene enrichment, but upside down, indicating that Cu was
introduced from below.

A probable source of this Cu is Cl-rich ground water flowing through the
underlying Copper Harbor Conglomerate. This unit thins sharply under the area
of mineralization (Fig. 3-7), a geometry which is thought to have caused a portion
of the ground water discharge in the conglomerate to pass upward through the
Nonesuch (W.S.White 1971). The Nonesuch is actually a siltstone rather than
a shale (Ensign and others 1968, p. 475), and so would have had a higher
permeability than the formation name implies. Copper in the water could have
reacted with the early diagenetic pyrite in the Nonesuch to produce the sequence
of minerals found. The ultimate source of the Cu is not known, but it is reasonable
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Fig. 3-6. Mineral zoning at White Pine is similar to that found in supergene enrichment,
but inverted, which suggests that Cu-rich water passed upwards (after White
and Wright 1966, fig. 3).
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Fig. 3-7. Cu content in the Nonesuch Shale is inversely related to the thickness of the
underlying Copper Harbor conglomerate, the probable conduit for the Cu-rich
fluids. Horizontal axis represents distance to the north from the outcrop (after
W.S. White 1971, fig. 2).

to suppose that it is in some way related to the native copper in the underlying
volcanics. Perhaps oxidizing ground waters leached Cu from the volcanics;
perhaps chlorides participated in the mobilization (D.E.White 1968, p. 324); it
is even possible that hydrothermal fluids discharged into the Copper Harbor,
then moved updip to deposit their Cu in the Nonesuch (Brown 1981).

Sulfur isotopes show a wide range of values (Fig. 3-8), consistent with a
syngenetic or early diagenetic origin of the sulfur. There is extreme variability,
both within and between beds: samples with §*S of — 10 and + 20 permil can
be separated horizontally by only a hundred meters. Burnie and others (1972)
suggested that this variability was a result of deposition of the Nonesuch in a
nearshore, perhaps brackish, environment in which the rate of supply of sulfate
was variable. Unfortunately, the only data are from the ore zone; the bulk of
the shale host has not been examined, so that the possibility of fractionation
during replacement of the iron sulfides by Cu, or of introduction of small amounts
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Fig. 3-8. S isotopes at White Pine cover a wide spread, possibly owing to local differences
in the amount of sulfate from seawater (after Burnie and others 1972, fig. 4d).
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of sulfur of a different isotopic composition by the Cu-bearing fluids, cannot be
excluded.

Creta, Oklahoma

Chlorides are intimately associated with Permian copper deposits of Oklahoma,
and are thought to have been important for metal transport. The mineralization
is found in a near-shore, red bed-evaporite sequence (Fig. 3-9), with the highest
Cu concentrations occurring in gray shales immediately overlain by beds of
gypsum (Hagni and Gann 1976, p. 40). Most of the Cu-bearing shales were
deposited on tidal flats (Smith 1976).

The ores consist of digenite with subordinate chalcocite (including djurleite
and anilite?). Chalcopyrite and native copper are occasionally seen, and covellite
is found replacing chalcocite (Kidwell and Bower 1976, p. 52-53). Microprobe
study of subeconomic Cu mineralization in equivalent strata in Kansas has re-

ypsum and shole hale, moinly red brown

. r 1 Sandstone, mudstone
t{halite) and shale | | conglomerate and shale

XXX Copper mineralization

Fig. 3-9. Geologic framework of Texas-Oklahoma copper deposits. Top: cross-section
showing position of deposits in fine clastics between evaporites and coarser
deltaics. Bottom: inferred paleogeography (Johnson 1976, fig 3; Dingess 1976,
fig. 2).



74 Chapter 3 Copper and Silver

vealed the presence of anilite- and djurleite-like phases, but no chalcocite (Table
3-4). Some digenite was also found as intergrowths in bornite. The chalcocite-
like phases have two compositions, one close to anilite (Cu, ,5) and one inter-
mediate between anilite and djurleite (Cu, 4;,). The second is thought to be due
to fine intergrowths of anilite in djurleite (Ripley and others 1980, p. 727).

Most workers agree that the sulfur was deposited as syngenetic or early di-
agenetic iron sulfides, often replacing organic matter, and that these were sub-
sequently replaced by Cu sulfides. Sometimes, the Cu minerals directly replaced
organic matter, particularly the spore Triletes (Hagni and Gann 1976) and wood
fragments (Smith 1976, p. 33).

Sulfur isotopes, as at White Pine, show a wide spread, from —7 to +35
permil (Lockwood 1976, p. 33). There are not enough data, however, to say
whether this variation has any relationship to depositional environments.

Smith (1976) has related the introduction of the Cu to the presence of the
evaporites, using a model proposed by Renfro (1974). Noting that sedimentary
Cu deposits are commonly arranged in the vertical sequence red beds — dark
shale with Cu — evaporites, Renfro proposed that Cu was introduced after
deposition of the shale by the peculiar ground water circulation of sabkha en-
vironments (Fig. 3-10). The high rate of evaporation in coastal desert areas leads
to a strong upward flow of ground water in the tidal zone, with subsequent
precipitation of gypsum and halite. Renfro theorized that, if the right geometry
of facies were present, this ground water could leach Cu from underlying sands,
in the process forming red beds by oxidizing the iron, then precipitate the Cu
as sulfides in the algal mat layer that commonly underlies sabkha evaporites (Fig.
3-11). Thus, the sulfur would be syngenetic, or early diagenetic, but the metals
would be added during later diagenesis, bordering on ground water-epigenetic.
Both Smith (1976, p. 35) and Renfro (1974, p. 41) believed that the water
carrying the Cu came from the terrestrial side of the sabkha, because of the high
Eh and low pH of meteoric water compared with seawater. Rose (1976, p. 1046),
on the other hand, has argued that Cl concentrations would still be too low, and
contribution of chlorides from the marine side of the ground water system is
required. Ideally, then, what is needed is chloride-bearing water, of high Eh and
low pH, derived from the landward side. Such a situation has been described

Table 3-4. Average microprobe analyses of copper sulfides from Permian red-beds of

Kansas.
Cu Fe S
Chalcopyrite 1.00 0.99 2
Bornite 4.62 0.95 4
Digenite 1.65 0.07 1
“Chalcocite”
Anilite 1.78 — 1
Djurleite 1.91 — 1

Source: Ripley and others 1980, p. 726-727.
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Fig. 3-10. Circulation in the sabkha environment. Evaporation induces an upwards flow
of water, that can be supplied from the sea or the land side, from which
evaporite minerals are precipitated.
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Fig. 3-11. Model of Cu mineralization in a sabkha environment. Sulfur is deposited
during early diagenesis of the black shale unit of stage II, whereas the Cu is
deposited epigenetically by ground water passing upwards through the shale
driven by the sabkha circulation (after Renfro 1974, fig. 6).
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from a sabkha in Libya (Rouse and Sherif 1980), where sulfur isotopes suggest
that terrestrial ground water greatly predominates over marine, but is relatively
saline because of dissolution of older evaporites. The involvement of evaporites
in the deposition of Cu had earlier been proposed by Davidson (1966), but he
envisioned them as a source of Cl for deeply circulating basinal brines, rather
than as an intimate part of the depositional system, as in Renfro’s model.

Note that the circulation pattern illustrated in Fig. 3-11 should produce a
mineral zoning like that at White Pine, with the minerals richest in Cu at the
base. Little if any zoning is developed in the rocks at Creta, however: the sulfides
are confined almost entirely to intergrowths of digenite and “chalcocite.” Kidwell
and Bower (1976, p. 53) reported some chalcopyrite from shales a few feet
above the main “chalcocite” mineralization, which would be in the proper se-
quence, and Ripley and others (1980, p. 725) reported a sequence from Kansas
with “chalcocite” overlain by bornite-chalcopyrite, the expected order, but pyrite
is common just below the “chalcocite,” inconsistent with an introduction of Cu
from below.

The Kupferschiefer

Although evidence is strong for post-depositional addition of Cu to the Permian
shales of the U.S., the source of metals in the European deposits of the same
age has been more controversial. The Kupferschiefer contains what is probably
the world’s most famous sedimentary ore deposit. This extremely thin—less than
one meter—Dblack, dolomitic shale covers most of northern Europe, and has been
mined for Cu, Pb, and Zn for centuries. The stratigraphic sequence is similar
to that in the North American deposits (Fig. 3-12), suggesting a comparable
origin. Many workers, however, have regarded the Kupferschiefer as the best
example of a syngenetic ore deposit (e.g., Wedepohl 1971).

Unlike the Permian deposits of the U.S., the Kupferschiefer is rich in Pb and
Zn as well as Cu (Fig. 3-13). Further, it has a pronounced mineral zoning, both
vertically and horizontally. Passing upward, the Cu-Fe minerals are distributed
in the sequence

hematite — chalcocite-digenite-covellite = bornite — chalcopyrite — pyrite

much like that seen at White Pine. In this case, commercial quantities of Pb and
Zn sulfides appear in the bornite zone, and the zonation is repeated horizontally,
passing from east to west (Jung and Knitzschke 1976, p. 375).

Wedepohl (1964, 1971), arguing against a hydrothermal-epigenetic source of
the metals, constructed a syngenetic model for the deposits. He pointed out that
the large-scale mineral zonation, plus the confinement of the mineralization to
a narrow stratigraphic interval, are inconsistent with a post-depositional intro-
duction of the metals. He postulated that the Cu, Pb, and Zn, as well as the
trace elements in which the shale is also enriched (V, Cr, Mo), were leached
from the underlying Rotliegendes sands, then carried by streams into the basin
of deposition where they were deposited syngenetically. A similar mechanism
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Fig. 3-12. Stratigraphic section of Permian rocks in Poland. Overlying the limestones
(Zechsteinkalk) is a thick evaporite sequence (after Haranczyk 1970, fig. 6).
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Fig. 3-13. Unlike other sedimentary Cu deposits, the Kupferschiefer is also enriched in
Pb and Zn. Note the predominance of Zn in the Kupferschiefer itself, Pb in
the overlying Zechsteinkalk. (Data from Rentzsch 1974, table 4.)
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has been advocated by Oberc and Serkies (1968), with the addition of a stage
of diagenetic remobilization of the metals. Dunham (1964) proposed a syngenetic
deposition of metals supplied by hot springs.

A host of models involving post-depositional processes have been proposed
(Tourtelot and Vine 1976, p. C16), and detailed work on the eastern deposits
indicates that a diagenetic mechanism is more likely than a strictly syngenetic
one. For example, Rentzsch (1974) has shown that, viewed on a large enough
scale, the mineralization is, in fact, discordant to bedding (Fig. 3-14), and,
further, that it surrounds areas of post-depositional alteration of the underlying
sands, referred to as Rote Faule (Fig. 3-15). The Rote Fiule are areas of secondary
reddening that extend in places up into the evaporites, and cut across the bedding
at an angle of a degree or so. All of the economic mineralization in the German
Democratic Republic is associated with this facies, although there are extensive
areas of Rote Faule to the north with no mineralization. Probably, the metals
were carried by ground water, possibly chloride-rich, that passed through these
areas and then deposited the metals on contact with the sulfide-rich muds that
now make up the Kupferschiefer. A similar mechanism has been suggested for
deposits of this age in the Soviet Union (Lurje 1977).

Sulfur isotopes once again show a large spread, but in this case have a definite
vertical trend (Fig. 3-16). By contrast, there do not seem to be any significant
lateral variations. The vertical profile is best interpreted as reflecting an increasing
isolation of the basin of deposition from contact with the ocean (Marowsky 1969,
Maynard 1980). If the renewal of salts in the basin is restricted, heavy sulfur
(**S-enriched) will accumulate because of preferential removal of S by bacteria
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Fig. 3-14. Mineralization in the Kupferschiefer is discordant to bedding. Note also the
pinching out of the shale over the high in the underlying sandstone (Evans
1980, fig. 13.2; after Rentzsch 1974, Fig. 10).
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Fig. 3-15. Relationship of Cu mineralization (1) to areas of Rote Fiule (2), in Mansfeld-
Sangerhausen (a) and Lusatia-Richelsdorf (b) (Rentzsch 1974, fig. 11).
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Fig. 3-16. S isotopes in the Kupferschiefer are light at the base, oscillate through inter-
mediate values, then become relatively heavy at the top. This trend may be

due to increasingly closed communication with seawater, preliminary to the
onset of evaporite deposition (after Marowsky 1969, fig. 3a).
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during sulfate reduction. Then, because their sulfate supply is becoming increas-
ingly heavy, the bacteria produce progressively heavier sulfides.

Central African Copperbelt

One of the world’s largest Cu districts, and perhaps the most poorly understood,
is the Proterozoic Central African Copperbelt of Zaire and Zambia (Fig. 3-17).
Again, there is extensive mineralization of particular stratigraphic horizons, some
of which show well-developed mineral zonation. The deposits were at first
regarded as hydrothermal in origin (e.g., Gray 1932), but detailed stratigraphic
work has led to the view that they are sedimentary, perhaps even syngenetic
(Garlick 1961, Garlick and Fleischer 1972).

The Copperbelt is separated politically and geologically into two sections
(Bartholomé 1974, p. 204). In Zaire, the host rocks are unmetamorphosed and
relatively flat-lying, although cut by numerous thrust faults. To the south and
west, in Zambia, they are metamorphosed, from chlorite up to garnet grade, and
are often highly deformed. In addition, the Zambian section was deposited over
amuch rougher paleotopography: the sediments unconformably overlie prominent
granite hills, which were once believed to be intrusives, some of which are
capped by stromatolitic bioherms. Lithologically, the Zaire section is charac-
terized by dolomite, while the Zambian is more clastic. Within Zambia, a dis-
tinction is made between the “ore shale trend” to the southwest, where
mineralization is mostly in fine-grained clastics, and the area around Mufulira,
where mineralization occurs at three levels in carbonaceous sandstones interbed-
ded with barren dolomites (van Eden 1974). Both Zaire and Zambia contain
evidence of hypersalinity during deposition, magnesite being common in the
Zaire dolomites, anhydrite in Zambia. The deposits have a similar mineralogy:
Cu and cobalt sulfides are abundant, while lead and zinc are conspicuously rare.

Some similarities can be seen in the vertical sequence of lithologies (Fig. 3-
18). A basal coarse clastic unit, perhaps of fluvial origin, is overlain by finer
clastics and carbonates that contain most of the mineralization, and then by a
thick, barren carbonate (Zaire) or clastic unit (Zambia). Looked at in detail,

Zambia
-14° ° 100 200 —
[ ——
km
27° 28°

Fig. 3-17. Ores in the Copperbelt are found in two areas, one in Zaire, the other mostly
in Zambia (adapted from Francois 1974, fig. 1).
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however, it is obvious that, although all the sediments were deposited in near-
shore environments, the depositional system was complex, and varied in character
with position in the basin.

Mineralization is found at several stratigraphic levels and in a variety of
lithologies across the Copperbelt. In Zaire, two zones are preferentially miner-
alized (Fig. 3-18), both in dolomite or dolomitic shale. In Zambia, mineralization
is found at many levels, from the footwall sandstones up to the dolomites of the
hangingwall, but is best developed in the ore shale. This unit is a black to gray
silty argillite, often calcareous at the base (Binda and Mulgrew 1974, p. 226-
228). Mineralization occurs throughout and may be discordant to stratigraphic
subunits within the shale. Stromatolitic bioherms associated with the shale are
always barren, however. At Mufulira, there are three mineralized zones, which
follow stratigraphic boundaries at their top, but are discordant at the base (Fig.
3-19). These zones have been related to transgressions of the sea from the
southwest (Fig. 3-20).

In Zambia, the sulfides commonly display zoning, particularly around paleo-
hills and bioherms (Garlick 1964, fig. 1). A typical sequence, moving outwards
is

chalcocite — bornite = chalcopyrite — pyrite,

which Garlick interpreted as caused by an increase in the depth of water in which
the sulfides were precipitated. The reverse zonation is is also common, however,
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Fig. 3-18. Vertical sections through the ore horizons in the two parts of the Copperbelt.
The ores in Zaire have more of a carbonate association, those of Zambia more
clastic. (Data of Bartholomé and others 1973, Cahen 1974, Binda and Mulgrew
1974.)
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as shown in a section from Mufulira (Fig. 3-21) that is reminiscent of the
distribution of minerals at White Pine. Also, Annels (1974, p. 252) has disputed
the interpretation of increasing water depth on lithologic grounds. Intracrystalline
zoning is also found, most prominently as an enrichment in cobalt in the rims
of pyrites in the Zaire section (Bartholomé 1974, fig. 1). The significance of
this zoning, or indeed of the presence of such large amounts of Co, is not known.
Stable isotopes could provide valuable information about ore-formation in this
area, but the only comprehensive study that I am aware of is that of Dechow
and Jensen (1965) on sulfur. The most striking feature of their data is the
predominance of samples with positive delta values, especially in Zambia (Fig.
3-22). The simplest explanation for this distribution is that evaporite sulfur was
an important contributor to these deposits, consistent with the presence of abun-
dant gypsum. Note also the significantly lighter S values in Zaire, paralleling
the diminished importance of evaporites in the section. Some zoning of isotope
values is also found. For instance, the Kamoto deposit in Zaire becomes steadily
heavier upward, from about —5 to +5 permil (Dechow and Jensen 1965, fig.
4). Other deposits have a reverse trend, or none, or show a lateral zonation (Fig.
3-21). At Mufulira, the pyrite is typically light, around ~0.2 permil, while the
Cu sulfides are uniformly heavier, averaging +4.5 permil. Thus, the Cu ores
were not deposited by replacement of earlier, syngenetic pyrite, as envisioned
for White Pine. Either some heavy sulfur was introduced along with the Cu, or
anhydrite associated with the sandstone host rock was somehow reduced to sulfide
during the introduction of the Cu. A thorough study of carbon and oxygen isotopes
is needed before much more progress can be made on these problems.
Theories of genesis of the Copperbelt deposits fall into three categories: syn-
genetic, diagenetic, and epigenetic. The syngenetic view, that is, that Cu and
Co were precipitated directly as sulfides at the time of sedimentation, has been
developed by Garlick and co-workers (Garlick 1961, Garlick and Fleischer 1972,
Fleischer and others 1976, Garlick 1981). They have been especially impressed
with the relationship of mineralization to paleotopography, and its restriction to
particular stratigraphic horizons. The diagenetic view, based on analogy with
the Cu deposits discussed earlier in this chapter, has been advocated by Bartho-
lomé (1974) and van Eden (1974). Bartholomé cited petrographic evidence, van
Eden the local discordance of bedding and mineralization. van Eden also sug-
gested that there was a primary Cu mineralization, possibly as much as 0.5
percent, which was enriched to present grades (3 to 6 percent) during diagenesis.
Annels (1974, 1979) proposed an epigenetic model. He hypothesized that deep
formation brines carried Cu upward along permeable zones, perhaps fault-related,
to be trapped beneath impermeable seals, such as the Mudseam at Mufulira.
Based on the antipathetic relationship between Cu and anhydrite, he suggested
that the sulfur in the Cu sulfides was derived from reduction of the sulfates.
At present, we do not have sufficient information to choose among these
hypotheses, although indications are that some form of post-depositional intro-
duction of the metals is most likely. Further, the diversity of the occurrences
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suggests that more than one mechanism may have been operative. More careful
stratigraphic work, directed towards finding general, as opposed to single-deposit,
connections between the sedimentary sequence and mineralization are clearly
called for. In particular, comparisons across the political and language barriers
separating Zaire and Zambia are needed. A final problem concerning these
deposits that needs more attention is the abundance of cobalt. Why is this metal
so common, while Pb, Zn, and Ag are so rare?

Summary

Sedimentary Cu-Ag deposits are found almost exclusively in fine-grained rocks,
usually dark siltstones and shales. In most cases, red beds and evaporites also
make up part of the sequence. The behavior of Cu and Ag is controlled by
oxidation and reduction: the metals are leached from areas of oxidation and
precipitated in areas with reducing conditions. The presence of Cl~ greatly
enhances solubility, and hence the transport, of the metals.

Sulfides are by far the most important minerals. Based on analogy with su-
pergene enrichment, their zoning can be interpreted as forming the sequence

chalcocite = bornite = chalcopyrite = pyrite

in the direction of transport of the Cu. By using electron microprobe analysis,
other minerals in the Cu-S system can be easily detected, so that refinements in
this zoning sequence are to be expected and should be sought.

Isotope studies are still in a reconnaissance stage. Only sulfur has been meas-
ured, and most workers have been content to document a high variability. Our
understanding of isotope fractionation during sedimentary processes has advanced
sufficiently that we should be able to explain the details of this variation, and
use them to help explain the genesis of the deposits.

Ideas about genesis have shown an evolution. Most early workers regarded
these deposits, along with almost all sulfide ores, as products of igneous activity.
Then, after the Second World War, syngenetic models became popular. In recent
years, based largely on improvements in our understanding of sedimentary pro-
cesses, there has been a tendency for models involving diagenetic mineralization
to replace strict syngenetic ones.



CHAPTER 4.
Aluminum and Nickel

Meanwhile the rain fell with cruel persistence. You felt that the
heavens must at last be empty of water, but still it poured down,
straight and heavy, with a maddening iteration, on the iron roof.

Rain, Somerset Maugham

From Complete Short Stories of Somerset Maugham
(© 1921 by Smart Set, Inc.)

Reprinted by permission of Doubleday & Co., Inc.

In the last chapter we discussed concentration of Cu in soil profiles by supergene
enrichment. Two other elements that are enriched to ore grade by soil processes
are aluminum and nickel. Virtually all of the world’s Al and perhaps one third
of its Ni comes from such deposits (Lelong and others 1976, p. 147). Aluminum
ores overlie a variety of rock types, but Ni is associated exclusively with ultra-
mafics, reflecting the relative abundance of the two elements in the crust. Deep
weathering under humid tropical conditions is necessary for the formation of
both ore types, and aluminum ores are widely distributed in parts of the world
having such climates now, or in the Tertiary, but production of lateritic Ni is
largely confined to New Caledonia, the Dominican Republic, and Cuba.

PART |. ALUMINUM

Al, unlike most metals in sedimentary ore deposits, occurs at the Earth’s surface
in only a single oxidation state, Al**. Consequently, it is not subject to the redox
cycles that play such an important part in the geochemistry of Fe, Cu, and U.
Instead, Al is concentrated almost by default, under conditions where all other
elements are removed: in the humid tropics in soils with good drainage.

Of the metals considered in this book, Al is the most abundant in the Earth’s
crust. As a consequence, it is present in appreciable quantities in almost all rock
types (Table 4-1). Only peridotite and orthoquartzite are unlikely parent rocks
for bauxite; only nepheline syenite is distinctly favored. Note also the vanishingly
small concentration of Al in natural waters, reflecting its insolubility under most
conditions.
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Table 4-1. Abundance of Al in common rocks and natural waters.

ALO,(%) Al O4(%)/Fe,0,
Igneous Rocks
peridotite 4.0 0.3
basalt 14.1 1.1
andesite 18.2 1.9
granite 13.9 49
nepheline syenite 213 4.6
Sedimentary Rocks
sandstones
orthoquartzites 1.1 1.6
arkoses 8.7 35
graywackes 13.5 2.1
shales 14.7 1.8
carbonates 25 5.0
Natural Waters ppm Al
seawater 0.001
river water 0.24
springs in granite 0.018

Source: Data from Wedepohl, 1969, tables 13-E-2, 13-E-6, 13-I-1, 13-K-1, 26-K-1.

There is, unfortunately, little agreement about the terminology to be used for
residual soils. For instance, the term laterite has been used for such a variety of
soils that its meaning has become obscured. Bauxite is the term universally
employed for Al-rich laterite, with either 80 or 90 percent Al,O, (water-free
basis) used as the lower concentration limit. There is no analogous term for the
Fe-rich end-member, however, nor is there agreement on how SiO, should be
included. At least part of the difficulty stems from mixing chemical and miner-
alogical variables. Al is found as both free aluminum minerals and in kaolinite,
a form undesirable for extraction, so that A1,O;, by itself, does not adequately
describe a bauxite. Consider the compositions of tropical soils shown in Fig.
4+1. The analyses shown are from samples virtually free of clay, so that the only
minerals present are free oxides and hydroxides. This being the case, it is easy
to identify laterites as the low-SiO, base of the triangle, divided into bauxites
or iron laterites based on the predominance of Al,O, or Fe,O,. Further subdivisions
can then be made based on clay content, resulting in schemes like that in Fig.
4-2. Because kaolinite is almost the only clay mineral in bauxite deposits, clay
content can be approximated by using the ratio of free to combined AL O, in the
sample. This quantity is sometimes available from processing data, but is readily
approximated, for quartz-free samples, by

ALO,eey = ALO, oy — 0.858i0;.
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Fig. 4-1. Classification of residual soils, following Dury (1969). Analyses of some typical
examples are shown, using data from Dury (1969, table 2), Goudie (1973, table
11, 14), Lelong and others (1976, table 3).
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Commercial production is currently limited to ores with more than about 80
percent of the AL,O, in the free state. The terminology to be used for the Al-
rich part of this diagram seems well established; I have suggested an analogous
set of terms for the Fe-rich portion. Because chamosite is much more variable
in composition than kaolinite, it is not as easy to estimate the proportion of free
metals, but a rough approximation is

(ALO, + Fe,0,),.. = (ALO, + Fe,0,).. — 0.45Si0,,

again on a quartz-free basis.

Within bauxites there are also several classifications used. One of the most
common is based on the type of underlying rock (e.g., nepheline syenite, basalt,
limestone). Deposits on limestones form an important group, the karst bauxites,
that are often treated separately from lateritic bauxites (e.g., Bardossy 1982).
Alternatively, geomorphic position can be regarded as more important, resulting
in terms such as plateau and slope bauxite. The most important distinction,
however, is between autochthonous and allochthonous. Many bauxites appear
to have been transported appreciable distances, so distinguishing these two types
is the essential first step in any genetic interpretation.

Mineralogy

Aluminum is currently obtained only from simple oxides and hydroxides. These
form two analogous series designated o and vy (Table 4-2). The « series minerals
have an open structure, with oxygens in adjacent layers opposite one another;
v minerals have a more closely packed structure, with oxygens in one layer
matched to vacant positions in the next (Hsu 1977, p. 99-106). Nordstrandite
has an intermediate structure made up of alternating gibbsite and bayerite layers.

Table 4-2. Common aluminum minerals.

Molar Volume

Name Formula (cm®/mole)
o series
bayerite Al(OH), 31.15
diaspore AIOOH 17.76
corundum Al O, 25.37
y series
gibbsite Al(OH), 32.00
boehmite AIOOH 19.53
(synthetic) AlLO, 27.8
Others
nordstrandite Al(OH), 32.28

Source: Perkins and others 1979, table 5.
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Surprisingly little is known about what controls the Al mineralogy of bauxites.
For instance, of the trihydrates, bayerite is almost unknown in nature (Gross and
Heller 1963) yet is easily prepared in the laboratory by acidifying Na-aluminate
gels. Hem and others (1973) found that gibbsite crystallizes from solutions with
a pH below 6, bayerite from solutions with a pH above 7. If silica is present,
prolonged aging is required before crystalline products appear. Other laboratory
studies confirm the control by pH, in some cases with nordstrandite appearing
at intermediate pH as an aging product of bayerite (Barnhisel and Rich 1965,
Schoen and Roberson 1970). pH values higher than 7 are certainly common in
natural systems, so the scarcity of bayerite is still puzzling.

Boehmite and diaspore present a similar problem. Although diaspore is com-
mon, gibbsite and boehmite make up the bulk of the minerals in bauxites, but,
as yet, there is no agreement as to why particular deposits have one mineral
instead of another. Valeton (1964) suggested that perhaps oxidation potential is
important; that is, the sequence diaspore-boehmite-gibbsite may reflect increased
oxidation. However, a survey of recent descriptions of bauxites that report both
chemistry and mineralogy (Grubb 1970, Ashraf and others 1972, MacGeehan
1972, Kronberg and others 1979) shows no relationship between mineralogy and
either total iron or oxidation state of the iron. A similar conclusion has been
reached by Bérdossy (1982, p. 214) for karst bauxites. Several lines of evidence
suggest that more intense leaching and a drier soil favor boehmite and diaspore
over gibbsite. One strong argument is that most karst bauxites (except those of
Jamaica) are boehmitic or diasporic, while those on other rock types tend to be
gibbsitic, possibly reflecting rapid drainage in karst soils (Valeton 1972, p. 179).
Also, older bauxites are commonly boehmitic, younger ones gibbsitic, with a
parallel change in iron mineralogy: hematite accompanies boehmite and goethite
accompanies gibbsite (see, for example, table 16 and 18 in Bardossy 1982). The
distribution of minerals in mixed boehmite-gibbsite deposits also suggests control
by drainage. The Aurukan bauxite of Australia (MacGeehan 1972) is charac-
terized by an upper boehmite zone, about 3 m thick, overlying 6 m of gibbsite.
MacGeehan hypothesized that the boundary marks the former position of the
water table, boehmite having formed in the zone of leaching and gibbsite in the
zone of saturation. Iron, as hematite, is largely confined to the upper, boehmitic
zone.

If leaching and aging control the distribution of boehmite and gibbsite, what
about diaspore? For a time it was believed that diaspore could only form under
metamorphic or hydrothermal conditions (Ervin and Osborn 1951), but many
occurrences are hard to reconcile with such an origin (Valeton 1964). Analogy
with the dehydration of gibbsite to boehmite suggests that conversion to diaspore
should also be favored by time and by intense leaching. Kiskyras and others
(1978) have presented data from boehmitic and diasporic bauxites on karst in
Greece that show a strong inverse relation between diaspore and kaolinite (Fig.
4-3). Apparently, diaspore forms only in environments from which silica has
been almost completely removed. These authors believed that the rate of drainage
was not the factor controlling the distribution of diaspore, because of a lack of
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Fig. 4-3. Relationship between mineralogy and bulk chemistry in karst bauxites of Greece.
Fe,0,, a function of oxidation state, has no effect, but SiO,, which is equivalent
to kaolinite in this case, favors boehmite (Data from Kriskyras and others 1978,
table A-C.)

detailed correlation between diaspore occurrence and maximum drainage. In-
stead, they proposed that oxidation state was more important, with diaspore
favoring the center of dolines because of lower Eh. There is no reason, however,
that kaolinite should be sensitive to oxidation state. More likely, dissolved silica
inhibits the transformation of gibbsite or boehmite to diaspore, and the reaction
only occurs in soils from which almost all of the silica has been removed.
Other minerals in bauxite are even more poorly known. Nordstrandite is
occasionally reported (Wall and others 1962, Hathaway and Schlanger 1965)
but nothing is known about what controls its presence. Titanium as well as
aluminum is enriched in residual soils, but not to commercial grades. The mineral
form most commonly reported is anatase. Iron minerals are also abundant, usually
goethite or hematite, but siderite (FeCO,) is often found in the lower part of the
soil profile, showing that reducing conditions were present and that iron was
mobile as Fe?*. Occasionally even chamosite is found, if the soil was later
covered by a swamp (Nikitina and Zvyagin 1973, Béardossy 1982, p. 210-213).

Geochemistry

Chemical analyses of bauxites show them to be enriched in Al and Ti, and
sometimes in Fe, relative to the parent material (Table 4-3), but strongly depleted
in more soluble elements (K, Na, Ca, Mg). The underlying rock type exerts less
influence than one would expect. Bauxites on basic igneous rocks are Fe-rich,
those on limestones are higher in Ca, but otherwise there are no obvious trends.
Another observation is that Ti is often depleted relative to Al. Commonly Ti is
regarded as being immobile during weathering, and the analyses do show an
increase in TiO,, but the decrease in Ti/Al shows that Ti is, in fact, being lost
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from most bauxites. Gardner (1980) reached the same conclusion from a study
of Al,O, and TiO, in soils as a function of density.

What are the geochemical controls that produce this pattern? As already men-
tioned, Eh has no effect on Al, so the type of Eh-pH diagrams we have used
for other metals do not apply. The solubility of Al minerals is, however, strongly
dependent on pH (Fig. 4-4). For instance, gibbsite is soluble at both low and
high pH, with a minimum solubility in the pH range 5 to 9, the range into which
most surface waters fall. Because the other elements that are common in the
Earth’s crust are generally more soluble under these conditions, Al accumulates
in soils. In fact, the relative immobility of Al is often used in constructing
equilibrium diagrams for weathering (Fig. 4-5). The number of solution variables
that need to be considered can be reduced if Al is regarded as being conserved
in the solids:

2A1(OH), + 2H,Si0, - ALSi,O4(0OH), + 5H,0.
(gibbsite) (kaolinite)

Kaolinite and gibbsite are common minerals in tropical soils, muscovite and
microcline are common in igneous rocks. The diagram shows that as alkalis such
as K are removed from the soil, the primary igneous minerals are converted to
kaolinite. Attack by hydrogen ion, either from CO, in the soil or from plant
acids, is the principal agent for this transformation. If large amounts of water
are present, decomposition can proceed further with leaching of silica from the
soil, converting the kaolinite to gibbsite. Note that gibbsite can also form directly
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Fig. 4-4. Solubility of gibbsite, AI(OH),, as a function of pH. Because the form of Al
in solution changes, there is a region of greater solubility at both high and low
pH.
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from muscovite or feldspar, and it can be resilicated to kaolinite if conditions

change slightly and ay g0, rises. The silica in both these reactions is from silicate
minerals rather than from quartz. Quartz is extremely slow to react at surface
temperatures, so that quartz-rich rocks seldom develop bauxites, even when
equilibrium considerations predict that quartz will dissolve.
So far, we have been using gibbsite as the aluminum mineral and, indeed, it
is the most common one in bauxites. Fig. 4-5 shows, however, that diaspore is
the stable phase. An alternative representation, in which a field of complete
dissolution is included (Fig. 4-6), shows the same effect. Also, note that natural
water analyses from bauxitic soils conform more closely to the diaspore-kaolinite
boundary than to gibbsite-kaolinite. Equilibrium among the aluminum hydrates
is controlled by au,o (Fig. 4-7). Note that boehmite is everywhere metastable
with respect to diaspore, even though it is common in bauxites. Also, diaspore
is stable relative to gibbsite for any ay,o less than about 5. Because the maximum
value for this quantity is 1, diaspore is the only stable phase at low temperatures.
Kittrick (1969) came to the same conclusion and suggested that there is an aging

sequence
amorphous Al(OH), — gibbsite — boehmite — diaspore

seen in the rock record (Fig. 4-8): Cenozoic bauxites are mostly gibbsitic, Me-
sozoic ones boehmitic, while most Paleozoic high-alumina clays contain diaspore
(Bridge 1952). Although we do not yet understand all of the factors that favor
the appearance of gibbsite rather than direct formation of diaspore, metastable
intermediates appear to be the rule in low-temperature systems (Paces 1978).
One factor that has recently been identified is the concentration of carbonate ion
(Béardossy and White 1979). In laboratory studies, the rate of crystallization of
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dehydration. (Data from Birdossy and others 1978, table 1.)

AI(OH), is much slower in the presence of CO,2~. Further, the grain size of
gibbsite is considerably smaller in bauxites developed on carbonate rocks com-
pared with other rock types. If this inhibition proved to be stronger for gibbsite
than for boehmite, it would explain the association of boehmitic bauxites with
limestones.

Petrography

Bauxites exhibit relict, massive, or concretionary textures. In relict textures, the
bauxite preserves the texture of the parent rock. Although not always evident in
hand sample, this type is usually quite obvious in outcrops. Massive, featureless
bauxites also occur, but the-concretionary type is the most common. Almost all
bauxites, somewhere in their profile, have a zone of concretionary bodies. If
less than 2 mm in diameter, they are termed ooliths, if greater, pisoliths. The
distribution of sizes is rarely reported, but in the Arkansas deposits, ooliths are
generally less than 1 mm, while pisoliths are 3-20 mm, with few particles of
intermediate size (Gordon and others 1958, p. 76). Packing is another textural
property that is seldom studied. Commonly, the ooliths and pisoliths “float” in
a structureless matrix and are very poorly sorted; in other cases there is close
packing and better sorting. In the first case one is tempted to infer that the bauxite
formed in place, in the second that it has been transported. Occasionally trans-
ported bauxites have discernible sedimentary structures such as cross-bedding,
but generally such evidence is rare.

On a microscale, the ooliths and pisoliths are seen to comprise alternating Fe-
rich and Fe-poor laminae, the number and thickness of which are variable.
Scanning electron microscopy shows that the laminae are made up of tangentially
oriented particles, apparantly the result of crystallization from solution (Bhat-
tacharyya and Kakimoto 1982). Certain diagenetic features are also revealed in
thin section. For example, the Aurukun bauxite of Australia (MacGeehan 1972)
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underwent two stages of aluminum enrichment that can be followed petrograph-
ically. In the first, boehmite pisoliths formed above the water table, gibbsite
below. Both types of pisoliths contain syneresis cracks filled with gibbsite. In
the second stage, associated with a drop in the water table, an envelope of
boehmite or gibbsite formed around pre-existing pisoliths, cementing them into
pairs or triplets.

Kaolinization is another common diagenetic feature seen in thin section. Most
bauxite deposits contain considerable kaolinite or halloysite, and there has been
much debate over whether such minerals represent an intermediate stage in the
conversion of feldspar to bauxite, or are secondary products formed by later
introduction of dissolved silica. Bates (1960) illustrated halloysite as a precursor
to gibbsite in soils of Hawaii. In contrast, Gordon and others (1958, plates 12,
13) presented a series of photomicrographs from Arkansas bauxites that show
resilication of gibbsite to kaolinite, as evidenced by kaolinite veins and pore
fillings. They concluded that, although some kaolinite must have formed directly
from the parent igneous rock (a nepheline syenite), most is of this secondary
type. Thus, both mechanisms of kaolinite formation seem to apply, that is, the
kaolinite —> gibbsite reaction is reversible.

Most undisturbed bauxites have a vertical profile of petrographic features
(Mindszenty 1978). At the surface is a zone of leaching, characterized by a
relative enrichment of Al through removal of the other constituents. This is
underlain by a zone of accumulation, where there is an absolute enrichment of
Al or Fe, followed, finally, by a zone of decomposed parent rock. In the zone
of leaching, thin-section petrography often shows direct transformation of feld-
spars to gibbsite, with good preservation of the original textures. Lower in the
profile, absolute enrichment is shown by pore-filling gibbsite cements. Decom-
position of the parent rock is accompanied by microbrecciation structures. These
three types of structures are often superimposed, probably because of fluctuations
in the ground water table. An additional class of structures is what we might
call “aging structures,” which develop with time in these other zones. Pisoliths
are the best example. They seem to form through recrystallization of the minerals,
accompanied by separation of Fe and Al into discrete layers, by a process that
is not well understood.

Another petrographic approach, which is just beginning to be used and shows
great promise, is scanning electron microscopy (SEM). Bardossy and others
(1978) investigated a number of deposits and found that karstic bauxites are
characterized by a much smaller grain size than other types, and that grain size
increases with elevation in lateritic bauxites. Karst bauxites also show changing
textures with increasing compaction, going from open stacking, to microporous,
to compact, and, finally, to a recrystallization texture referred to as “crystalline-
webby.” An interesting extension of this study would be to examine bauxites of
different ages to see if analogous changes can be seen with time. The transfor-
mation of feldspar to gibbsite, both directly and via kaolinite, can also be observed
with the SEM (Keller 1979).



100 Chapter 4 Aluminum and Nickel

Vertical Sequence

The vertical sequence encountered in bauxite deposits depends on the type of
parent rock—oprincipally its iron content—and such factors as slope and drainage.
Confining ourselves for the moment to in situ lateritic bauxites, an Fe-rich and
an Fe-poor profile can be distinguished (Fig. 4-9). In the Fe-poor case, Al
enrichment is mostly relative, by removal of other substances with many of the
structures of the parent rock preserved; in the Fe-rich case more of the enrichment
is absolute (Lelong and others 1976, p. 115). Fe is left behind as a duricrust,
while Al is moved lower in the profile. In both cases, it is common to find
truncations, repetitions, and superpositions. For example, an organic-rich A
horizon should normally be present, but it is often removed by erosion exposing
the underlying Fe-Al accumulation to desiccation and lithification. A second
cycle of bauxitization may then begin, forming another bauxite layer deeper in
the soil (Valeton 1972, fig. 47). Another type of disruption of the ideal profile
is silicification of the Al minerals to kaolinite, usually in the surface layer or at
the top of the parent rock. Of course, these vertical zones do not persist indefinitely
in the horizontal direction. Instead, there is a set of lateral facies changes, usually
related to the nature of the slope, and similar to the vertical changes (Valeton
1972, fig. 35).

For transported bauxites, the situation is more complex. First, let us consider
the Arkansas deposits where the distinction between the in situ and transported
bauxites is clear. During the time these deposits were forming (Paleocene to
Early Eocene), hills of nepheline syenite stood up as positive areas. These were
gradually overlapped by marginal marine and non-marine strata that incorporated
considerable bauxitic debris from soils on the syenite hills (Fig. 4-10). For the
in situ deposits (Type 1), the vertical sequence is much like that shown in Fig.
4-9, except that a zone of secondary kaolinite appears at the syenite-bauxite
contact (Gordon and others 1958, fig. 36). The transported bauxites have been
divided into three types. The first (Type 2) deposits formed as fans, deposited
by mass-wasting rather than by streams, along the lower slopes of the syenite
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Fig. 4-9. Bauxitic soil profiles in Fe-poor and Fe-rich parent rocks in the same climate.
In the second case, a resistant Fe cap develops at the surface while Al accu-
mulates below.
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hills and in places extending onto the fringing sediments. They are believed to
have originally comprised a mixture of bauxite and kaolinite that was subsequently
leached to pure bauxite on valley sides, but remained largely kaolinitic in valley
centers. A typical vertical profile shows a “fragmental underclay” at the base,
becoming progressively richer in gibbsite, until a zone of pisolitic bauxite is
reached. This is overlain by a “siliceous hardcap” and then a kaolinitic clay.
The “fragmental underclay” consists of angular to rounded fragments of kaolinite
or bauxite, up to 10 cm in length, set in a matrix of kaolinite, with some siderite.
The “siliceous hardcap” comprises soft gibbsitic pisoliths in a hard kaolinitic
matrix, and is believed to have resulted from resilicification under swampy
conditions. Type 3 and 4 deposits do not show evidence of the extensive post-
depositional bauxitization and resilicification found in Type 2. They consist of
either moderately sorted, closely packed pisoliths (Type 3), or large boulders of
bauxite in a matrix rich in clay and sand (Type 4). Neither type has a discernible
internal zonation like Type 1 or 2, and they seem to have been deposited by
local streams as purely clastic accumulations with little chemical modification.

Distinguishing transported and in situ bauxites is especially difficult in deposits
overlying carbonate rocks, because of the absence of a transitional layer of slightly
weathered parent rock. Further, the aluminum content of the host rock is usually
so low that it is hard to envision how significant amounts of bauxite could form
in place by the alteration of the insoluble residue in limestone or dolomite. There
are four ways in which such deposits can be formed:

1. Autochthonous—strict in situ development from the underlying host rock.

2. Parautochthonous—from weathering of the host rock, but with local transport
into low-lying areas, especially dolines on karst topography.
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