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Preface

This volume integrates the latest findings on earliest life forms, identified and 
 characterised in some of the oldest sedimentary rocks and seafloor hydrothermal 
systems on Earth and includes a number of papers from authors with alternate per-
spectives on the evidence of earliest life. Emphasis is placed on the integration of 
microanalytical methods with observational techniques and experimental simula-
tions because of the challenges involved in study of organic matter in such ancient 
rocks. The opening section focuses on submarine vent systems that the majority of 
researchers postulate served as the cradle of life on Earth. In the following sections 
evidence for life in strongly metamorphosed rocks such as those in Greenland is 
evaluated and early ecosystems identified in the well preserved Barberton and 
Pilbara successions in Southern Africa and Western Australia. This volume will be 
of great value to graduate students and researchers interested in the origin and 
record of earliest life on Earth.

The quest for evidence of the earliest life forms on Earth has occupied geologists 
and palaentologists in earnest for the past 50 years after a somewhat rocky start in 
the late nineteenth and early twentieth century dogged by controversy surrounding 
the theory of evolution. It was recognized early that the first forms of life had to be 
primitive microbial forms with the ability to utilize inorganic compounds and con-
vert them into organic matter and were thus unlikely to leave fossil traces as we 
know them from geologically younger rocks. Stromatolites are a potential excep-
tion to this generalisation and the most abundant biogenic structures identified in 
Archaean age rocks because of their distinctive morphologies. Unfortunately, lami-
nated sedimentary structures can form in a variety of ways including seafloor pre-
cipitation such that the biogenicity of early Archaean stromatolites (>3.0 Ga) is 
highly debated due to the general lack of biosedimentary fabrics and organic 
remains of microfossils. In this volume new research on stromatolites and other 
microbially induced sedimentary structures are presented and evaluated in the con-
text of previous work. Brasier documents the history of the search for Precambrian 
life and the numerous diversions along the way, which has led to the recognition 
that morphological complexity can develop abiologically in natural systems. Webb 
and Kamber show that high precision, high resolution trace element analysis cou-
pled with other geochemical evidence may allow distinction between competing 
abiogenic and biogenic hypotheses for the origin of sedimentary structures inferred 
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to be stromatolites or other microbialites on the basis of morphology and geological 
setting. A third contribution by Noffke summarizes her work on microbially 
induced sedimentary structures that result from the biotic-physical interaction of 
microbial mats with the sedimentary dynamics in sandy marine environments and 
are well represented in the 2.9 Ga Pongola Supergroup of South Africa.

Seafloor hydrothermal systems are postulated as the cradle of life on Earth 
because their chemistry favours the synthesis of reduced carbon compounds and 
present day thermophilic microbes such as archaea and sulfate reducing bacteria 
inhabiting deep sea vent environments sit at the base of the tree of life. Evidence of 
hydrothermal activity is widespread in the well preserved 3.5 to 3.2 Ga rocks of the 
Pilbara Craton of Western Australia and the Barberton Greenstone Belt in Southern 
Africa, which comprise a number of volcanic packages overlain in turn by thin 
units of clastic and chemical sedimentary rocks. This book focuses on such envi-
ronments and the carbonaceous matter that occurs in both clastic and chemical 
sedimentary rocks of the Pilbara Craton and Barberton Greenstone Belt, most nota-
bly in thin chert units and transgressive bodies (chert dykes) formed by precipita-
tion on the seafloor and replacement of other rock types. Golding et al. review the 
literature on the multiple sulfur isotope geochemistry of seafloor hydrothermal 
systems and sediments and present new data for the 3.24 Ga Sulphur Springs mas-
sive sulfide deposit and the 3.5 Ga Dresser Formation of the Pilbara Craton, which 
are respectively the earliest well preserved and documented black smoker and epi-
thermal style seafloor hydrothermal systems on Earth. Hofmann’s study of the 
Barberton Greenstone Belt in South Africa describes the Archean hydrothermal 
systems and their potential significance as a habitat for early life. Williams and her 
colleagues report their experimental work on the role of clay minerals particularly 
the smectite clays in the abiotic synthesis of organic molecules in seafloor hydro-
thermal systems. This is suggested as a possible mechanism for the beginning of 
life and the primordial birth of the first replicating cell.

Another group of papers focuses on the remains of organic matter preserved in 
the least thermally altered early Archean rocks of the Pilbara Craton and Barberton 
Greenstone Belt and demonstrates a possible relationship between co-existing abi-
otic and biological carbonaceous materials. Glikson et al. summarize their compre-
hensive studies of organic matter concentrates from these ancient rocks using 
sophisticated electron microscopical methodologies and geochemistry, as well as a 
comparison of this material with the remains of a modern hyperthermophilic 
microbe cultured under simulated hydrothermal conditions and thermally stressed. 
In another contribution De Gregorio and colleagues evaluate a variety of nano scale 
methods for establishing the biogenicity of ancient organic matter and associated 
putative microfossils and stromatolites. Furthermore, this group of researchers 
conducted laboratory Fischer-Tropsch-Type (FFT) experiments that produced abi-
otic carbonaceous matter, which they compared to carbonaceous matter obtained 
from ancient rocks, enhancing the distinction between biological and abiologically 
sourced organic matter.

The remaining two chapters in this volume discuss the Archean nitrogen and 
carbon isotope records and their use as tools in the search for evidence of early life. 
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Pinti and Hashizume show that nitrogen isotopes can be used for modeling the 
interplay of changing microbial metabolisms through early Earth history and 
related broadly to environmental changes including the progressive oxygenation of 
the Earth. On the other hand McCollom argues that carbon isotopes alone are insuf-
ficient to establish a biological origin for ancient organic matter because carbona-
ceous matter produced in FTT experiments can have similarly 13C-depleted carbon 
isotopic compositions. The comparison of FTT carbonaceous matter synthesized 
under simulated hydrothermal conditions with thermally stressed microbial cul-
tures and undisputedly ancient biogenic carbonaceous matter is a common thread 
of several chapters in this book, and an avenue for future research.

Finally, as editors of this volume, we would like to thank all the authors and co-
authors and reviewers for their contributions and Springer Publishing Editor Petra van 
Steenbergen and her assistant Cynthia de Jonge for initially suggesting the topic for 
this book and their consistent support during its writing.

Suzanne D. Golding and Miryam Glikson
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Dedication to John F. Lindsay

22 January 1941–20 June 2008

John Lindsay was a visiting scientist at the Lunar and Planetary Institute, Houston, 
Texas up until his death on 20 June 2008 at the age of 67. John obtained BSc and 
MSc degrees in geology from the University of New England in northern NSW in 
1962 and 1964, respectively, and was awarded a PhD in geology from the Ohio 
State University in 1968. He joined the Apollo Program in Houston with NASA in 
1969 and was involved in planning of the lunar missions and scientific training of 
astronauts. John had worked in Antarctica during his graduate program at Ohio 
State University that provided the impetus for organisation of the first Mars ana-
logue expedition to the Antarctic Dry Valleys in 1972. John received a NASA 
Achievement Award for his work on the Apollo Lunar Program and the United 
States Polar Medal for Antarctic Service. These early years with NASA set the tone 
for much of John’s professional career where he used modern analogues to 
 understand the early history of the Earth and the Earth’s extreme environments as 
analogues for other planetary environments.

During the 1970s and early 1980s John held academic positions at La Trobe 
University in Victoria and the Marine Science Institute at the University of Texas in 
Galvaston and was employed by the Exxon Production Research Company in 
Houston. He joined the then Bureau of Mineral Resources in Canberra as a principle 
research scientist in 1984 and worked on Australia’s resource rich sedimentary 
basins over the next 15 years. John continued to publish extensively and received the 
Australian Institute of Cartographers Award for his work on the Amadeus Basin of 
central Australia. It was during this period that John became convinced of the impor-
tance of global tectonics in early biosphere evolution and the need for a more 
 scientific approach to the study of early life on Earth, which he explored in 
 collaboration with the University of Oxford’s Professor Martin Brasier.

John returned to the United States in 2002. He worked first with the Astrobiology 
Group at the NASA Johnson Space Centre and in 2004 accepted a position as visit-
ing scientist at the Lunar and Planetary Institute where he had worked so many 
years before. John continued his research on the origins of life on Earth and con-
cluded that prebiotic processes dominate the Paleoarchean record of the Pilbara 
Craton of Western Australia and the Kaapvaal Craton of southern Africa. This was 
a controversial view at odds with the collective view of many earth scientists that 
life developed prior to 3.8 Ga and was widespread by 3.5 Ga. Nevertheless, the 
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work of several authors in this volume supports John’s view and further suggests 
these strata may preserve a record of the prebiotic-biotic transition. During his 
career John published some 200 scientific papers, a text book on lunar stratigraphy 
and sedimentology and a number of book chapters and showed a generation of 
earth and planetary scientists that there is no substitute for careful documentation 
and critical analysis of the rock record.
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Abstract The major questions as to the origin of life on Earth, when, where, how and 
what are the subject of this chapter and book. The exact timing cannot be determined 
as a review of previous work shows that carbonaceous matter with recognizable 
source-related structures has not been found prior to 3.5 Ga. As to where, scientists 
are in agreement that the first life forms developed and emerged in the marine envi-
ronment where carbonaceous compounds derived from mantle venting and potentially 
catalytic minerals were available. Modern analogues can be found today in seafloor 
hydrothermal vent environments where diverse chemoautotrophic microbial commu-
nities occur that include methanogens and methanotrophs. Similar unicellular micro-
bial forms have been observed and studied from 3.5 Ga rocks in Western Australia 
and South Africa. Interestingly, side by side with recognizable structures of microbial 
cells, amorphous carbonaceous matter (CM) is prominent as coating of the mineral 
matrix, and may record the co-existence of primeval abiotic CM and some of the earli-
est biologically-formed cells. These findings place the early Archean as the transition 
or first step from the abiotic world to the biological world. Between 3.5 and 3.2 Ga the 
microbial communities have further developed and evolved to form the South African 
Barberton and the West Australian Sulphur Springs assemblages of filamentous, coc-
coid and spindle-shaped forms comparable to present-day primitive microbes. On the 
other hand, additional criteria are required in rocks older than 3.0 Ga to determine the 
biogenicity of sedimentary structures inferred to be stromatolites in the absence of 
biosedimentary fabrics and organic remains of microfossils.

Keywords Archaean carbonaceous matter • Oldest microbial remains • Abiotic- 
formed carbonaceous matter • Stromatolite

M. Glikson (*) 
P.O. Box 553, Palmwoods, Queensland 4555, Australia 
e-mail: miryam7@bigpond.com

S.D. Golding  
School of Earth Sciences, University of Queensland, Brisbane, Queensland 4072, Australia
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Miryam Glikson and Suzanne D. Golding 

S.D. Golding and M. Glikson (eds.), Earliest Life on Earth: Habitats, Environments  
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© Springer Science+Business Media B.V. 2011
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The origin of life on Earth and the nature of the earliest life forms have been topics 
of great interest to scientists and the wider community since the publication of 
Charles Darwin’s On the Origin of Species in 1859. Darwin recognized that the 
lack of fossils prior to the Cambrian Period posed a problem for his theory of evolu-
tion (Schopf 2009), and appreciated that the earliest life forms were most likely to 
be primitive microbes (O’Malley 2009). On 1 February 1871, in a letter to Joseph 
Dalton Hooker, his closest scientific collaborator, he speculated that life may have 
originated in “some warm little pond with all sorts of ammonia and phosphoric 
salts, light, heat, electricity etc. present (so) that a protein compound was chemi-
cally formed, ready to undergo still more complex changes” (Pereto et al. 2009). 
Notwithstanding these early insights and the pioneering work of the American 
paleontologist Charles Doolittle Walcott in the late nineteenth and early twentieth 
centuries, it was not until the 1950s that the inorganic synthesis of amino acids in 
the famous Miller-Urey experiments (Miller 1953; Miller and Urey 1959) and the 
discovery of structurally preserved microorganisms in the 1.9 Ga Gunflint 
Formation of Ontario (Tyler and Baghoorn 1954) stimulated a new generation of 
scientists to focus on the origin and record of earliest life on Earth. Scientists today 
are in agreement that the first forms of life on Earth were simple anaerobic 
chemoautotrophic microbes that are found today in niches of extreme marine habi-
tats such as seafloor hydrothermal systems that existed on Earth as soon as liquid 
water accumulated more than 4.2 billion years ago (Martin et al. 2008).

While microbial life may have existed during the Hadean Eon (4.38–3.85 Ga), 
all evidence is likely to have been erased by the 3.9–3.8 Ga late heavy bombardment 
of Earth coupled with crustal recycling (Kamber et al. 2001; Abramov and Mojzsis 
2009; Jorgensen et al. 2009). The earliest Archean rocks of Greenland and Canada 
have also been heavily deformed and metamorphosed, which has destroyed their 
geological context and microstructural characteristics that might have provided 
support for a biogenic origin of the graphite in these rocks (Fedo and Whitehouse 
2002; Van Zuillen et al. 2002; Moorbath 2005). Attention has therefore shifted to 
the well preserved, 3.5–3.2 Ga, volcano-sedimentary successions of the Pilbara 
Craton of Western Australia and the Barberton Greenstone Belt of South Africa and 
Swaziland. Nevertheless, the bacterial fossils of the 1.9 Ga Gunflint Formation 
(Barghoorn and Tyler 1965) still constitute the gold standard evidence of 
Precambrian life with many discredited reports of stromatolites and microfossils in 
Archean strata older than 3.0 Ga (e.g. Brasier et al. 2002, 2004). Furthermore fossil-
like mineralized forms such as have been recorded from Archean rocks and some 
meteorites have also been produced in laboratory experiments in recent years 
(Garcia-Ruiz et al. 2003). Mineral precipitates mimicking biological structures are 
not uncommon as end products of cooling saturated solutions of calcite, silica, iron 
and other metals (Horodyski 1981). Mineralized fossil-like forms have been 
reported, for example, from the Martian meteorite ALH84001 (McKay et al. 1996) 
and from the early Archean of the Pilbara in Western Australia (e.g. Schopf and 
Packer 1987; Schopf 1993). The characteristics of these forms and their structures 
are the uniformity in shape and precision in repetitive sub-structures. The biological 
invalidity of these pseudo-fossils has been outlined in a detailed paper by Brasier 
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et al. (2006) and as expressed in the same document “are the self-organizing struc-
tures that do not pass the test for biogenicity”.

Among the fossil-like forms reported over the last 40 years from outcrops in the 
early Archean rocks of the Pilbara of Western Australia are finely laminated light and 
dark undulating, wrinkled and folded mineralized structures regarded as fossil remains 
of stromatolite bioherms such as are found today in some shallow marine environ-
ments. However, some of these structures resemble stromatolites in the domal part 
only, which when found as a separate fragment may give the impression of a stroma-
tolite morphology. Photosynthesizing cyanobacteria are the dominant microbes that 
build these structures by depositing layer upon layer upwards towards the light in the 
photic zone of a relatively shallow marine habitat. Some of the early Archean struc-
tures are wavy and folded downwards as if building by these microorganisms was 
upside-down at times, which is impossible of course. When following these structures 
for a distance towards ground level the laminations straighten out and become paral-
lel fine light and darker bands. Such structures are a typical occurrence today around 
hot springs as sinter deposits and also forming from evaporite precipitation (Lowe 
1994). The same study suggested the domal structures in the 3.5–3.2 Ga Warrawoona 
Group rocks in Western Australia and the 3.5–3.3 Ga Onverwacht Group in South 
Africa resulted from “soft sediment deformation of originally flat layers”.

These types of structures may also form where hydration of a mineral has 
occurred such as the anhydrite in the Dead Sea varved marls (Fig. 1) where similar 

Fig. 1 The Dead Sea varves consist of annual couplets or triplets of fine detritus, aragonite and 
gypsum/anhydrite that are generally flat lying in the subsurface. The hydration of anhydrite at the 
surface results in expansion that distorts bedding and produces a similar macro-morphology to 
some stromatolites. Outcrop photograph taken a few 100 m west of the Dead Sea shoreline by 
Miryam Glikson
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distortions are evident. In these instances expansion of a mineral occurs when 
absorbing water resulting in folding and wrinkling. In the Dead Sea marls the anhydrite 
was converted to gypsum upon reaching the surface. In the case of silica and iron 
precipitates, hydration of the silica and/or oxidation of the iron may bring on 
changes in volume resulting in contortions and distortion in the form of wrinkles 
and folds, as well illustrated in Lindsay et al. (2005) and documented from studies 
of terrestrial hot springs (Jones and Renaut 2003). In a similar vein, Grotzinger and 
Rothman (1996) presented a purely abiotic model for growth of stromatolitic fea-
tures during times when precipitation at the sea floor was perhaps common. 
Conophyton-like occurrence studied by Batchelor et al. (2004) from the much 
younger 1.7 Ga Dungaminnie Formation in the Northern Territory, Australia throws 
light on these striking bioherms. Although superficially similar structures have 
been documented recently from the Pilbara of Western Australia (Allwood et al. 
2006, 2007), it is yet to establish their internal structure to be able to confirm a 
similarity to true Conyphyton, as well as sub-surface occurrences in drill core. 
Sedimentary structures whether directly or indirectly microbially linked are gener-
ally easier to reconcile in sediments younger than 3.2 Ga. A concise analysis of 
such occurrences is presented by Noffke (this volume).

True bioherm building stromatolites most probably came later with the majority 
of Archean stromatolite reports from 3.0 to 2.5 Ga strata, most notably in sediments 
of the Transvaal Supergroup and Insuzi Groups of South Africa and Zimbabwe and 
the Fortescue Group of Western Australia (Beukes and Lowe 1989; Kamber and 
Webb 2001; Kamber et al. 2004; Schopf et al. 2007). This is not to say that anoxygenic 
photosynthesizing mat-forming cyanobacteria (e.g. Oscillatoria; Cohen et al. 1975) 
have not been around earlier. Indeed some of Pflug’s (1966) findings from the 
Barberton closely resemble the cyanobacterium Oscillatoria. These were among the 
oldest identifiable structures of microorganisms comparable to known life forms. 
The rocks that yielded these microbial remains were described and documented by 
Pflug from the 3.2 Ga shales of the Fig Tree Group in the Barberton Greenstone 
Belt of South Africa. The assemblage contains also various coccoid forms sugges-
tive of sulfate reducers and methanogens. Coccoid and spindle-shaped microbes 
closely resembling the forms documented by Pflug have also been recorded by 
Westall et al. (2001) and Westall (2004) from the Barberton Greenstone Belt. 
Westall notes “colonial association of filamentous and coccoid forms which may 
form thin coatings or thick mats on the surfaces of rocks”. Noffke et al. (2003, 
2006) documented microbial mats from the 3.2 Ga Moodies Group, South Africa.

3.2 Ga also seems to be a turning point in the appearance of fossil remains of 
microbial communities in carbonaceous materials that can be compared to known 
groups living in today’s specialized habitats. In the Pilbara’s 3.24 Ga Sulphur 
Springs black smoker deposit Duck et al. (2007) recorded the remains of filamen-
tous microbial mats and spherical forms where both the individual filaments and 
spherical entities closely resemble the Barberton microbial remains recorded by 
Pflug and Westall from rocks of a comparable age. Going further back in time, a 
gap of about 200 million years is evident, where no carbonaceous material (CM) 
has been preserved in the rock record until the ca. 3.46–3.43 Ga Strelly Pool and 
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Apex Basalt Formations in the Pilbara of Western Australia where preserved CM 
has been studied. The 3.46 Ga Apex Basalt has been studied both by observational 
as well as analytical methods by a number of scientists. Observational studies docu-
mented the imprints of microbial filaments on rock surfaces (Schopf 1993; Schopf 
et al. 2007). However, studies of the Apex Chert CM (De Gregorio and Sharp 2003; 
De Gregorio et al. 2005) and the Strelley Pool CM (De Gregorio and Sharp 2006) 
using observational and microanalytical techniques also showed filamentous CM 
coating quartz grains. Based on their comparative studies of abiotically synthesized 
CM and biogenic remains, De Gregorio and his colleagues suggested the possibility 
of co-existence of abiotic CM and biogenic material in the same rocks. Binet et al. 
(2003) in an attempt to clarify the source of CM in early Archean Dresser Formation 
cherts using EPR concluded that the CM may have a biogenic origin. Philippot 
et al. (2006) reported presence of both abiotic and biological indicators in their 
study of the 3.49 Ga Dresser Formation CM. Interestingly, Hofmann and Bolhar 
(2007) in their extensive and detailed study of the early Archean Barberton 
Greenstone Belt cherts that contained CM noted that the association of CM was not 
always with ultramafic rocks that can account for serpentinization processes as its 
source. Some cherts according to the same study were associated with felsic rocks. 
Their concluding comments were that it is unlikely that all CM in the Barberton 
Greenstone Belt is abiogenically formed. Hofmann and Bolhar suggest the pres-
ence of biogenic and abiogenic CM at the same time.

Our studies of Apex Basalt CM (Glikson et al. this volume) using argillite-CM 
core that has been intruded by peridotite at >1,000°C found optically isotropic 
graphite (in contrast to anisotropic standard graphite), which when observed at high 
magnification using High Resolution TEM (HRTEM) revealed nano-tubes, fullerenes 
and clusters of spheres enclosed within a perfectly formed wall closely resembling 
such as documented from meteorites by Harris and Vis (2003) and Nakamura-
Messenger et al. (2006). There could be little doubt that the perfect spherical struc-
tures were formed abiotically at very high temperature. Whether the graphite and 
fullerenes were formed from primary biogenic material is not possible to establish 
but the possibility cannot be entirely ruled out. At such high temperatures no pri-
mary features may be retained as the CM solidified and crystallized from a liquid 
or vapor phase. On the other hand, our study of CM from the 3.49 Ga Dresser 
Formation in the Pilbara of Western Australia and the 3.47 Ga Hooggenoeg 
Formation in the Barberton Greenstone Belt in South Africa found primary CM 
within fluid inclusions in quartz grains (Glikson et al. 2008). Spherical and oval 
typical cell structures ranging from 0.3–0.6 mm across were apparently released 
when demineralization of the host rock was carried out in order to concentrate the 
CM. The hollow vesicular cells must have been entombed within inclusions trapped 
in quartz crystals. Their entombment has preserved them without there having been 
subjected to the severe thermal degradation as have the rest of the colonies. 
Thermally degraded microbial remains within the same rocks were compared to 
thermally stressed hypothermophile archaea cultures from today’s deep sea hydro-
thermal environment (Glikson et al. 2008). Thermal degradation morpho-textures 
and structures when compared were found to be identical. The degradation process 
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and its resulting morphological structures were indistinguishable between the 
microbes subjected to simulated thermal stress and those recovered from the 
Dresser and Hooggenoeg Formations. The living cultures were dying between 80°C 
and 100°C and began degradation and disintegration at 132°C.

The main question arising is how can we distinguish analytically and/or visually 
between the natural presumed biologically formed remains in earliest Archean rocks 
and abiotically synthesized CM. Thermal degradation ruptures and tears apart cells, 
which only occasionally retain their outline as observed in both the simulated micro-
bial cultures and the fossil remains in the Dresser Formation (Glikson et al. 2008). 
Therefore the two possibilities, namely the presence of abiotic and/or biological CM 
have to be considered and evaluated. Abiotic formation of organic compounds in 
hydrothermal systems has been shown to occur during serpentinization processes 
through hydration of ultramafic silicates (Berndt et al. 1996; Shock and Schulte 1998; 
Horita and Berndt 1999; Sherwood Lollar 2004) resulting in methane and hydrogen 
release. Simoneit (1995) in his extensive studies of CM in active hydrothermal systems 
noted the probability of potential synthesis reactions. The same study noted, however, 
that any such CM would be masked in the present hydrothermal environments by the 
vast amount of degradation products from biological precursors as recently confirmed 
by Bassez et al. (2009) from analysis of peridotites from active seafloor hydrothermal 
sites. On the other hand Lindsay et al. (2005) suggest the abiotic output may 
overwhelm the signatures of primitive life in early Archean hydrothermal systems.

Laboratory simulation of processes involved in abiogenic synthesis or Fischer-
Tropsch-type reactions were conducted under hydrothermal conditions by several 
groups (McCollom et al. 2001; Rushdi and Simoneit 2005; McCollom and Seewald 
2006). Such processes involve the reduction and polymerization of CO or CO

2
 

emanating from seafloor vents with H
2
 dissociated from water and varied metal 

catalysts. An array of organic compounds resulted from the experiments including 
lipids, most of which could be building blocks for assemblage of a primordial cell 
and/or a substrate for metabolic processes of earliest microbial communities. 
McCollom and Seewald’s (2006) experiments showed predominance of homolo-
gous n-alkanes. The common factor in these experiments is temperature, which is 
always above 100°C that is also approaching the limit of life (Russell 2003; Glikson 
et al. 2008; Nitchke and Russell 2009). However, this does not necessarily exclude 
the building blocks for primary cell assemblage being produced at >100°C by 
chemical reactions in hydrothermal systems. Thermodynamic calculations by 
Amend and Shock (1998) concluded that “autotrophic synthesis of all 20 protein-
forming amino acids was energetically favored at 100°C moderately reduced sub-
marine hydrothermal solutions”.

Carbonaceous matter delivered to Earth by meteorites has been discussed and 
suggested as a source of pre-biotic building blocks for earliest life forms. Meteorites 
contain a variety of organic compounds delivered to Earth in large quantities during 
intense bombardment prior to 3.8 Ga (Chyba et al. 1990; Rollinson 2007; 
McCollom, this volume). Amino acids in significant quantities have been reported 
from several meteorites such as the Orgueil, Murchison, Allenede and Tagish Lake 
although many of the amino acids identified are rare or non-existent on Earth 
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(Cronin and Pizzarello 1997; Pizzarello et al. 2005). Some of the extra-terrestrial 
amino acids have been suggested over the years as the building blocks of the first 
life forms on Earth. However, even though they may have formed in cool conditions 
(Rollinson 2007), they would have experienced high temperature incoming to 
Earth. The high temperature that the amino acids were subjected to would render 
them chemically non-reactive, like graphite the inert end product of CM thermal 
maturation. A very high temperature effect on the meteorite amino acids is sup-
ported by the significant enrichment in d¹³C (Pizzarello et al. 2003).

Although gaseous generation of hydrocarbons such as methane are known to 
form abiotically, studies of hydrothermal petroleum forming today showed gener-
ally that the petroleum originated from thermal diagenesis of microorganisms 
(Venkatasan et al. 2003; Simoneit et al. 2004, 2008). According to these studies “A 
search for molecular evidence for abiogenic compounds (in hydrocarbons) was 
negative, except methane”. Similar conclusions were reported from serpentiniza-
tion processes by Horita and Berndt (1999) and Sherwood Lollar (2004). The most 
likely environment for the assembly of a cell, the prototype of a chemoautotrophic 
microbe is the early Archean seafloor where venting of hot fluids containing CO, 
CO

2
, H

2
S and metals was a common product from degassing of the mantle (Shock 

et al. 1995; Shock and Schulte 1998). The self organization into vesicles has been 
studied and demonstrated in laboratory experiments using lipids, in simulated 
hydrothermal conditions (e.g., Hazen 2006; Simoneit et al. 2007). Hazen (2006) 
suggested “lipid self-organization proceeds spontaneously at a critical concentra-
tion of amphiphilic molecules, but vesicle formation may be affected dramatically 
by the presence of minerals”. The question arising from these experiments is what 
is the ideal mineral for this kind of process?

Hanczyc et al. (2003) demonstrated experimentally the encapsulation, growth 
and division of a cell compartment. The same study used lipids for membrane for-
mation at a specific pH. It was shown that montmorillonite accelerated the conver-
sion of the lipidic matter into vesicles. Montmorillonite is also suggested by Ferris 
(2005) as playing a central role in the evolution of life by its adsorptive capacity 
and catalytic properties. Earlier studies of Lahav (1975) and Lahav et al. (1978) 
suggested montmorillonite as a key factor in the interaction of water and amino 
acids in the prebiotic synthesis. Recently, Williams et al (2005; and this volume) 
simulated seafloor hydrothermal conditions in reacting montmorillonite, saponite 
and illite clays with dilute methanol as a carbon source. Various aromatic and poly-
cyclic aromatic hydrocarbons were produced in smectite clays, but not in illitic 
clays. Williams et al.’s experiments showed that organic molecules up to C20 were 
formed, and the smectite protected them from thermal destruction.

The major questions as to the beginning of life on Earth, when, where, how and 
what are the subject of this book. The exact timing cannot be determined since no 
carbonaceous matter with any source-related recognizable structures has been 
found prior to 3.5 Ga. Carbonaceous matter found in 3.8 Ga rocks in Greenland is 
graphite (Fedo and Whitehouse 2002; Van Zuillen et al. 2002), which by definition 
does not retain any primary structures as a result of precipitation from vaporized 
carbon. Processes leading to the first microbial forms of life may have initiated 
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between 3.8 and 3.5 Ga or even earlier. As to where, scientists are in agreement that 
the first life forms developed and emerged in the marine environment where funda-
mental organic compounds emanating from mantle venting and/or atmospheric 
reactions were available. Such seafloor hydrothermal environments can be com-
pared to those at today’s spreading centers. Black smokers were suggested by 
Wachtershauer (2007) as the chemoautotrophic origin of life where the volcanic 
iron-sulfur system enabled the formation of a pioneer microorganism. The latter is 
postulated to have formed from an inorganic substrate of a catalyctic metal centre 
promoting C-fixation in an encasing superstructure. Martin et al. (2008) on the 
other hand suggests off-axis white smoker vents as the cradle of life forms due to 
their ultramafic substrate, which closely resembles the material that erupted onto 
the early Earth ocean floor. Off-axis white smokers such as the modern Lost City 
hydrothermal field contain high concentrations of dissolved H

2
, CH

4
 and other low 

molecular hydrocarbons, the basic materials for the metabolism of anaerobic 
chemoautotrophs such as archaea. These compounds lodged within protective clay 
sheets or sulfide bubbles may have slowly encapsulated into vesicular cell-like enti-
ties. To quote Hanczyc et al. (2003) “These experiments constitute a proof-of-
principle demonstration that vesicle growth and division can result from simple 
physico-chemical forces, without any complex biochemical machinery”. It is inter-
esting though that experimentally produced vesicles or proto-cells are unnaturally 
perfect in shape, the perfect spheres, both in the above mentioned experiments as 
well as earlier ones (Yanagawa and Kojima 1985). On the other hand, the vesicular 
cell-like structures released from fluid inclusions in quartz crystals in the 3.5 Ga 
Dresser Formation rocks, Pilbara, Western Australia (Glikson et al 2008) vary a lot 
in outline with hardly two cells being exactly the same in shape. There is no abso-
lute perfection in natural biological forms, whether pollen, spores, microbial cells 
or other living things, as worded in Velasco-Santos et al. (2003) “nature does not 
have a strict control of conditions as synthetic routes”.
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Abstract Recent developments in multiple sulfur isotope analysis of sulfide and 
sulfate minerals provide a new tool for investigation of ore-forming processes and 
sources of sulfur in Archean hydrothermal systems, with important implications for 
the Archean sulfur cycle, the origin and impact of various microbial metabolisms 
and the chemistry of surface waters. In the current study we show that most of 
the sulfides and sulfates in the 3.49 Ga Dresser Formation and 3.24 Ga Panorama 
Zn–Cu field of Western Australia have non zero D33S values that indicate variable 
proportions of seawater sulfate and elemental sulfur of UV-photolysis origin were 
incorporated into the deposits. Our results show that the multiple sulfur isotope 
systematics of the Dresser Formation sulfides and sulfates mainly reflect mixing 
between mass independently fractionated sulfur reservoirs with positive and nega-
tive D33S. Pyrite occurring with barite is depleted in 34S relative to the host barite 
that has been interpreted as evidence for microbial sulfate reduction. We note, 
however, that the reported quadruple sulfur isotope systematics of pyrite-barite 
pairs are equally permissive of a thermochemical origin for this pyrite, which is 
consistent with inferred formation temperatures for the chert-barite units in excess 
of 100°C. The variably positive D33S anomalies of the Panorama VHMS deposits, 
disequilibrium relations among sulfides and sulfates and general trend of increasing 
sulfide D33S with stratigraphic height in individual ore systems most likely reflects 
temperature evolution and fluid mixing through the life of the hydrothermal 
system. The absence of sulfides with significant negative D33S anomalies suggests 
that volcanic sulfur, not seawater sulfate, was the dominant sulfur source for the 
Panorama mineral system. The data presented here require Paleoarchean seawater 
to be at least locally sulfate bearing.
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1  Introduction

Submarine hydrothermal systems provide physically and chemically diverse  habitats 
for microbial and other life and are chemically reactive environments that support 
abiotic synthesis of carbonaceous compounds (e.g. Kelley et al. 2005; Fiebig et al. 
2007; McCollom and Seewald 2007; Proskurowksi et al. 2008). The widespread 
occurrence of hydrothermal systems in the early Precambrian has led to the sugges-
tion that such environments may have constituted the cradle of life on Earth (e.g. 
Corliss et al. 1981; Simoneit 1995; Henley 1996; Shock 1996; Stetter 1996; Summons 
et al. 1996; Walter 1996; Shock and Schulte 1998; Holm and Charlou 2001; Russell 
2003; Williams et al. 2005), largely because the chemistry of the H

2
/CO

2
 redox pair 

in seafloor hydrothermal systems favours the synthesis of reduced carbon com-
pounds, the essential constituents of life (Shock 1990, 1996; Martin and Russell 
2007). However, it is also generally accepted that the emergence of life in a hydro-
thermal vent environment would have been constrained by temperature and most 
likely required long lived hydrothermal activity (Poole et al. 1999; Ertem 2004; 
Russell et al. 2005; Russell and Hall 2006; Martin et al. 2008). As such, a low to mid 
temperature (£110°C), freely convecting (non-magma driven), metalliferous seafloor 
hydrothermal seep or vent system like the Lost City hydrothermal field, located 30°N 
and some 15 km west of the Mid-Atlantic ridge (MAR) (Früh-Green et al. 2003; 
Kelley et al. 2005) is a most likely milieu for emergence of life on Earth (Russell et al. 
2005; Russell and Hall 2006; Martin and Russell 2007; Russell 2007; Martin et al. 
2008). In such environments, the serpentinisation of ophiolite complexes driven by 
subsurface seawater circulation,  produces a self-sustaining exothermic  reaction 
(Kelley et al. 2005), which, in the case of Lost City, has been in  operation for at least 
30,000 years, and may last for millions of years (Früh-Green et al. 2003; Kelley et al. 
2005; Russell and Hall 2006; Martin et al. 2008). Alkaline systems such as Lost City 
may be representative of very early Earth (Hadean) hydrothermal environments 
(Kelley et al. 2005), where the eruption of Mg-rich komatiitic lavas was common (e.g. 
Macleod et al. 1994, and references therein). As such, these environments present as 
probably the most likely environment for the emergence of life given the thermody-
namic and  geochemical constraints imposed upon such a process (e.g. Russell et al. 
2005; Russell and Hall 1997, 2006). However, the record of such ancient ophiolitic 
hydrothermal systems in the rock record is greatly limited; hence, the main geological 
focus of the search for early life is those ancient hydrothermal deposits and sedimen-
tary sequences that have survived destruction over time.

A variety of morphological, petrological, mineralogical and geochemical 
approaches have been taken in the search for earliest life on Earth with recent atten-
tion focused on relatively well preserved, ca. 3.5–3.2 Ga sedimentary rocks and 
seafloor hydrothermal systems in the Pilbara Craton in Western Australia and the 
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Kaapvaal Craton in South Africa (e.g. Schopf 1993, 2006; Ueno et al. 2001, 2004, 
2006; Tice and Lowe 2004; Lindsay et al. 2005; Allwood et al. 2006, 2007; 
Orberger et al. 2006; Westall and Southam 2006; Duck et al. 2007; Hofmann and 
Bolhar 2007; Glikson et al. 2008; Pinti et al. 2009). This is necessary because the 
oldest known sedimentary rocks circa 3.8 Ga in age, including those in Greenland 
in the Isua Supracrustal Belt and on Akilia Island, have experienced tectonism and 
high grade metamorphism, which has modified mineralogy and destroyed micro-
structural characteristics that might provide support for a biogenic origin of the 
graphite in these rocks (Fedo and Whitehouse 2002; Van Zuilen et al. 2002). While 
there is general agreement that life existed in the Palaeoarchean, much of the evi-
dence is equivocal (Brasier et al. 2002, 2004, 2005; Lindsay et al. 2005), and it is 
possible that abiogenic carbon from Fischer-Tropsch-type synthesis (FTS) 
(McCollom and Seewald 2007) and/or atmospheric sources (Pavlov et al. 2001) 
dominated seafloor hydrothermal systems and sediments during the transition of 
the early Earth from geochemical to biogeochemical cycles.

In previous work we have reported the results of work on well preserved carbo-
naceous matter (CM) in sedimentary rocks and seafloor mineral deposits from the 
Warrawoona, Sulphur Springs and Gorge Creek Groups of the Pilbara Craton and 
the Onverwacht Group of the Kaapvaal Craton (Duck et al. 2004, 2005, 2007; 
Glikson et al. 2008, 2010) and multiple sulfur isotope evidence for dual sulfur 
sources in the 3.24 Ga Sulphur Springs massive sulfide deposit and the 3.49 Ga 
Dresser Formation of the Pilbara Craton (Golding and Young 2005; Golding et al. 
2006). In the current study we use stable and radiogenic isotope geochemistry  to 
understand the genesis of the hydrothermal ore deposits at Sulphur Springs and in 
the Dresser Formation, which are arguably and respectively the earliest well pre-
served and documented black smoker and epithermal style seafloor hydrothermal  
systems on Earth and potential habitats for early life.

2  Sulfur Isotopes in Seafloor Hydrothermal Systems  
and  Sediments

This section provides a brief overview of our current understanding of the sulfur 
isotope geochemistry of seafloor hydrothermal systems and sediments and the use of 
multiple sulfur isotopes to constrain the early origins and activity of sulfur-based 
microbial life. Although the modern sulfur cycle is dominated by microbial transfor-
mations of seawater sulfate, magmatic, hydrothermal and atmospheric processes may 
have played a more significant role in the early Earth sulfur cycle (e.g. Canfield and 
Raiswell 1999; Farquhar et al. 2000; Farquhar and Wing 2003; Strauss 2003; Canfield 
2005). Normal terrestrial cycling fractionates sulfur isotopes according to relative 
mass difference so that variations in d33S and d36S follow those in d34S. The mass dif-
ference between 33S and 32S is about half the mass difference between 34S and 32S, 
which is why observed shifts in d33S are about half those in d34S and define the mass 
dependent fractionation (MDF) line (d33S ≅ 0.515 × d34S; Hulston and Thode 1965; 
Farquhar et al. 2000). Deviations from the mass dependent line (i.e. the D33S record 
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expressed as D33S = d33S − 0.515 × d34S) have been identified in many Archean rocks, 
as well as modern sulfate aerosols and volcanic horizons resulting from Plinean 
 eruptions (e.g. Farquhar et al. 2000; Mojzsis et al. 2003; Ono et al. 2003; Romero and 
Thiemens 2003; Savarino et al. 2003). Experimental studies indicate that atmospheric 
gas-phase reactions (SO

2
–SO photolysis) produce two main products with different 

mass independent fractionation (MIF), i.e., elemental sulfur aerosols with positive 
D33S and sulfate aerosols with negative D33S (Farquhar et al. 2000, 2001; Farquhar and 
Wing 2003; Thiemens 2006). These atmospheric sources of oxidized and reduced 
sulfur may be incorporated into sulfide and sulfate minerals provided the atmospheric 
level of oxygen is sufficiently low (i.e., <10−5 times the present atmospheric level; 
Pavlov and Kasting 2002). Based on the occurrence of sulfur MIF and other geochemical 
proxies, the majority of researchers conclude that the early atmosphere was anoxic to 
neutral and evolved to an oxic atmosphere between 2.45 and 2.32 Ga (e.g. Farquhar 
et al. 2000, 2001, 2007; Kasting 2001; Bekker et al. 2004).

Significant mass-dependent sulfur isotope fractionation accompanies microbial uti-
lization of sulfur, particularly sulfate reduction that is the most important process for 
anaerobic mineralization of organic matter in marine sediments (Ohmoto and Goldhaber 
1997). This is why pyrite in modern marine sediments exhibit very negative d34S values 
with a fractionation of up to 70 per mil relative to modern seawater sulfate. Accordingly 
sulfides in the Precambrian sedimentary rock record with variable d34S values and/or a 
substantial fractionation relative to the sulfur isotope composition of coeval seawater 
sulfate have been interpreted to form by microbial sulfate reduction (e.g. Kakegawa and 
Ohmoto 1999; Kakegawa et al. 1999; Towe 2000; Shen et al. 2001; Habicht et al. 2002). 
These authors have attributed the relatively small fractionation  of sulfide relative to 
sulfate in many Archean settings to higher rates of seawater sulfate reduction in 
response to limiting sulfate concentrations and/or higher temperatures . Different mass 
dependent sulfur isotope fractionations accompany  biogeochemical processes such as 
sulfate and elemental sulfur reduction,  disproportionation of elemental sulfur and oxida-
tion of sulfide and elemental sulfur. Many of these transformations can also occur 
inorganically and result in a spectrum of fractionations between sulfide and sulfate, 
which is why it is not always possible to interpret the ancient sulfur isotope record 
unambiguously even with multiple sulfur isotopes. The three main reservoirs of biologi-
cally useful sulfur in the Archean are oceanic sulfate with positive d34S and negative 
D33S, elemental sulfur with positive D33S and volcanic SO

2
 and H

2
S with near zero d34S 

and D33S (Farquhar and Wing 2003). Thus microbial sulfate reduction produces sulfide 
with negative D33S, whereas sulfur reducers produce sulfide with positive D33S. Both 
sulfides may have similar d34S values so this distinction is only possible for pre 2.4 Ga 
sulfides using multiple sulfur isotopes. Significantly, virtually all sedimentary and some 
hydrothermal sulfides older than 2.8 Ga have positive D33S (Fig. 1), which is inconsis-
tent with a significant role for microbial sulfate reduction and may suggest an early 
origin for organisms that reduce or disproportionate elemental sulfur (Golding et al. 
2006; Philippot et al. 2007). From 2.8 to 2.5 Ga, sedimentary and some hydrothermal 
sulfides exhibit a wide range of positive and negative D33S, which is good evidence for 
a sulfur cycle that included microbial sulfur and sulfate reduction (Partridge et al. 2008). 
On the other hand, Watanabe et al. (2009) have shown experimentally using amino acid 
powders and sulfate that mass independently fractionated sulfur isotopes can be 
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produced during thermochemical sulfate reduction at 150–200°C. The sulfur-MIF 
anomalies produced were relatively small but potentially complicate interpretation of 
multiple sulfur  isotopes of ancient sedimentary rocks affected by hydrothermal alteration.

Multiple sulfur isotope studies of ancient rocks have focused on Mesoarchean and 
Neoarchean sedimentary successions that have been least affected by metamorphism 
and tectonism, particularly those in Western Australia and southern Africa (e.g. Ono 
et al. 2003; Bekker et al. 2004; Farquhar et al. 2007; Kaufman et al. 2007; Partridge 
et al. 2008). However, bedded and discordant barite deposits from Western Australia 
and South Africa have similar d34S values consistent with a common hydrothermal 
origin (Runnegar et al. 2001; Huston and Logan 2004; Bao et al. 2007), and there is 
wide agreement that there was a high level of hydrothermal activity in the Archean. 
Notwithstanding controversy as to whether the common ancestor to extant life forms 
was thermophilic (Doolittle 1999; Galtier et al. 1999), Archean seafloor hydrothermal 
environments would have supported the evolution of chemolithautotrophs and 
 thermophiles and mesophiles that left isotopic and other biosignatures in the rock 
record (cf. Ueno et al. 2006). Furthermore, convective circulation of seawater is a 
fundamental part of seafloor hydrothermal systems, which provides a mechanism for 

Fig. 1 A plot of D33S versus age for sedimentary and hydrothermal sulfides and sulfates shows 
that the majority of sulfides older than ~2.8 Ga exhibit positive D33S that implicates an elemental 
sulfur source of UV-photolysis origin irrespective of whether their precipitation occurred inor-
ganically or was microbially mediated. Thermochemical reduction of mass dependently fraction-
ated sulfate may also have produced small positive D33S anomalies in some sulfides (cf. Watanabe 
et al. 2009). Barites and some sulfides have negative D33S anomalies that we attribute to an ulti-
mate seawater sulfate source. Additional data sources are Farquhar et al. (2000, 2007), Hu et al. 
(2003), Mojzsis et al. (2003), Ono et al. (2003, 2007, 2009), Bekker et al. (2004), Whitehouse 
et al. (2005), Cates and Mojzsis (2006), Ohmoto et al. (2006), Papineau and Mojzsis (2006), Bao 
et al. (2007), Philippot et al. (2007), Kamber and Whitehouse (2007), Kaufman et al. (2007), 
Partridge et al. (2008), Ueno et al. (2008) and Shen et al. (2009)
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imparting atmospheric sulfur MIF signatures to hydrothermal sulfides whatever the 
process mediating their precipitation. Thus multiple sulfur isotopes in Archean 
seafloor hydrothermal systems and sediments provide the basis for investigation of 
sulfur sources, the origin and impact of various microbial metabolisms and the chem-
istry of surface waters, with important implications for the Archean sulfur cycle and 
the composition of the atmosphere. In this context, Philippot et al. (2007) undertook 
a multiple sulfur isotope study of different sulfide generations in the Dresser 
Formation of Western Australia and concluded that the negative d34S and positive 
D33S of microscopic sulfides in growth zoned barite crystals provides evidence for the 
involvement of organisms that disproportionated elemental sulfur of atmospheric 
origin. More recently, Ueno et al. (2008) and Shen et al. (2009) have shown that the 
majority of barite-pyrite pairs in Dresser Formation barites have D33S-D36S systematics  
consistent with that expected for microbial sulfate reduction.

3  Geologic Setting of Dresser Formation and Sulphur  
Springs Deposit

The 3.80–2.83 Ga Pilbara Craton of Western Australia (Fig. 2a) contains some of the 
 oldest, best-preserved supracrustal rocks on Earth (Van Kranendonk 1998; Van 
Kranendonk et al. 2002). The craton is essentially an aggregate of granite- greenstone 
terranes overlain by sedimentary basins with six major elements recognized in the 
 outcropping northern part of the craton. These are rare fragments of 3.80–3.55 Ga 
early crust, the 3.53–3.17 Ga East Pilbara Terrane, the 3.27–3.06 Ma West Pilbara 
Superterrane, the 3.20–2.89 Ga Kurrana Terrane, the 3.02–2.93 Ma De Grey 
Superbasin and the 2.89–2.83 Ga Split Rock Supersuite of late- to post- tectonic 
granitic intrusions (Van Kranendonk et al. 2004). The hydrothermal systems  sampled 
for the present study occur within the 3.53–3.17 East Pilbara Terrane.

The Dresser Formation outcrops only in the North Pole Dome locality of the 
Panorama Greenstone Belt, approximately 160 km southeast of Port Hedland and 40 
km west of Marble Bar (Fig. 2a). The Dresser is an upper formation of the Talga Talga 
Subgroup of the Warrawoona Group (Fig. 2b), which is the oldest lithostratigraphic 
group of the Pilbara Supergroup in the East Pilbara Terrane. It comprises a 1,000 m 
thick sequence of interbedded black and variously coloured chert, massive barite, 
minor felsic and mafic/ultramafic volcaniclastics and pillowed to massive basalts 
(Buick and Dunlop 1990; Nijman et al. 1999; Van Kranendonk et al. 2002, 2006b). 
Up to five lenticular members of bedded chert ± barite ± carbonate ± jasper, interbedded 
with pillow basalts have been recognized in the Dresser Formation. These stratiform 
units are thought to have been fed by a set of chert-barite veins that were emplaced 
within, and immediately above, listric normal growth faults, which were active during 
deposition of the cherts and carbonates  (Nijman et al. 1998, 1999; Van Kranendonk 
2006; Van Kranendonk et al. 2006a). The dominant lithology is extensively carbonate 
altered and silicified  volcanics (Barley 1993), which are metamorphosed to prehnite-
pumpellyite facies in the North Pole Dome area (Nijman et al. 1999; Terabayashi 
et al. 2003; Van Kranendonk and Pirajno 2004).
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Fig. 2 (a) Geology of the North Pole Dome and Panorama Zn–Cu district, Pilbara Craton,  
(b) Stratigraphic column for Dresser samples
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  The Dresser Formation has been previously dated to circa 3,490 ± 10 Ma, using 
two Pb–Pb model ages for galena in presumed syngenetic barite (Thorpe et al. 
1992). Recent SHRIMP U–Pb zircon dating of a felsic volcaniclastic sandstone 
from the top of the lowermost chert unit of the formation indicate a maximum 
depositional age of 3,481 ± 3.6 Ma (Van Kranendonk et al. 2008). The monzogran-
ite exposed in the core of the North Pole Dome has been dated at 3,459 ± 18 Ma 
using conventional U–Pb zircon methods (Thorpe et al. 1992). New Sensitive High 
Resolution Ion Microprobe-Reverse Geometry (SHRIMP-RG) zircon geochronol-
ogy of felsic porphyry dykes shows these intrusions have similar ages to the main 
granitoid body and the overlying Panorama Formation (Harris et al. 2009).

The 3.24 Ga Sulphur Springs volcanic hosted massive sulfide (VHMS) deposit 
is situated in the Panorama Zn–Cu field in the Soanesville Greenstone Belt, 
approximately 100 km southeast of Port Hedland and 50 km west of Marble Bar 
(Fig. 2a). The prospect was discovered in 1984 by PhD student Harry Wilhelmij, 
who reported finding sulfate encrustations on rocks in a then unnamed creek bed 
(Morant 1995). Sulphur Springs have since been described as Earth’s oldest black 
smoker (Vearncombe et al. 1995; Morant 1998), and is interpreted to have formed 
at a water depth of around 1,000 m in an Archean setting equivalent to a modern 
back-arc basin (Vearncombe et al. 1995, 1998). A lack of any major tectonic 
overprint and very low metamorphic grade (prehnite-pumpellyite facies or below) 
has resulted in an exceptional level of structural and textural preservation (Morant 
1995; Vearncombe 1995; Vearncombe et al. 1995; Duck et al. 2007).

The Sulphur Springs VHMS deposit is hosted within the upper part of the 
Kangaroo Caves Formation that is the upper stratigraphic unit of the 3,238–3,235 
Ma Sulphur Springs Group and overlain by turbidites of the Gorge Creek Group 
(Morant 1995; Buick et al. 2002) (Fig. 3). The 1.5 km-thick Kangaroo Caves 
Formation is composed of massive, pillowed, pillow-brecciated and hyaloclastic 
andesitic volcanics, and dacite, rhyodacite and rhyolite sills and lavas (Brauhart 
1999; Van Kranendonk 2000). VHMS mineralisation at Sulphur Springs and else-
where in the district occurs mostly at or immediately below the marker chert, a 
regionally extensive silicified siltstone unit at the top of the Kangaroo Caves 
Formation. (Morant 1995; Vearncombe et al. 1995; Brauhart et al. 1998; Buick 
et al. 2002). Strata dip east such that the current exposure constitutes a cross section 
through a VHMS district and its underlying subvolcanic intrusion (Brauhart et al. 
1998, 2000). Mineralisation consists of stratabound lenses of pyrite, sphalerite, 
chalcopyrite, galena, tennantite, arsenopyrite, barite, pyrrhotite and quartz, with 
underlying stringer zones comprising veins of quartz, pyrite, chalcopyrite, minor 
sphalerite and carbonate (Vearncombe et al. 1995; Barley 1998).

4  Sampling and Analytical Methods

Samples of the Dresser Formation used in this study were collected during the 2003 
and 2005 field seasons from surface outcrops and diamond drill cores intersecting 
the massive barite deposits, which outcrop along the eastern margin of the North 
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Pole Dome (Fig. 2a). The cores were drilled during the 1980s as part of the 
delineation  of the barite deposits and are stockpiled at a location near the old Dresser 
mining  camp (50K 753337E, 7666430N UTM), south of Panorama Homestead. 
Surface materials consisted primarily of massive barite, bedded chert and interbedded  
chert-barite samples, some of which showed obvious signs of iron-sulfide  weathering. 

Fig. 3 Simplified local geology of the Panorama Zn–Cu district, showing locations of the VMS 
prospects and diamond drill holes SSD14, SSD51, RMD2 and KCD23 (adapted from Brauhart 
et al. 1998). The VMS prospects occur mainly at the top of the volcanic Kangaroo Caves 
Formation that is overlain by the turbidites of the Gorge Creek Group and intruded by the synvol-
canic Strelley Granite (SS = Sulphur Springs; KC = Kangaroo Caves)
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The subsurface samples are from diamond holes EZ1 (50K 753940E, 7665686N 
UTM) and EZ2 (50K 753790E, 7665956N UTM) and associated core trays (Glikson 
et al. 2008). The drill core samples are predominantly fine-grained, carbonaceous 
matter (CM)-rich siliceous material variably cut by chalcedonic veins and late-stage 
carbonate veins. Diamond drill cores PDP2B and PDP2C from the recent Pilbara 
Drilling Project Provide context for interpretation of the geological setting of these 
samples that comprise the immediate footwall of the massive barite deposits in the 
case of EZ1 and EZ2 (Van Kranendonk et al. 2008).

Samples from the Sulphur Springs and Gorge Creek Groups were collected  during 
the 2003 field season from diamond drill cores SSD14 (AMG 729043.07E, 
7659869.47N), SSD51 (AMG 729103E, 7660264N) and RMD2 (AMG 723451.617E, 
7658609.885N) at the Sipa Resources Port Hedland core storage facility (Fig. 3) 
(Duck et al. 2007). Samples of diamond drill core KCD23 also drilled by Sipa 
Resources Limited were subsequently obtained from the University of Western 
Australia Geology Museum. SSD14 commenced within the immediate hanging wall 
sedimentary strata of the Gorge Creek Group, intersected 4.5 m of massive sulfide 
mineralisation at some 220 m and a 45 m lens of combined massive sulfide and 
stringer zone mineralisation at some 251 m, before terminating at 354 m within the 
underlying felsic volcanics of the Kangaroo Caves Formation of the Sulphur Springs 
Group. SSD51 extends 826.2 m through the Paddy Market Formation and Corboy 
Formations of the Gorge Creek Group into the Kangaroo Caves Formation and inter-
sected the marker chert horizon at some 730 m. It comprises a volcano-sedimentary 
sequence rich in carbonaceous cherts, ironstones and silicified shales with only minor 
sulfide occurrences. RMD2 was drilled in close proximity to the Strelley Granite 
through the lower part of the Kangaroo Caves Formation. This core comprises vari-
ably altered intermediate to mafic volcanics with lesser cherts, siltstones and arenites 
and is heavily intruded by dacite sills. Several semi massive sulfide horizons were 
intersected at some 144 m. KCD23 commenced within hanging wall turbidites of the 
Gorge Creek Group, intersected the marker chert and massive sulfide mineralisation 
between 480.6 and 504.1 m, several zones of massive to stringer sulfide mineralisa-
tion in the underlying dacite sill and terminated in dacite at 601 m.

Pyrite samples for Pb–Pb dating and sulfur isotope analysis were sourced from 
selected Dresser black chert samples. An attempt was made to limit the pyritic mate-
rial selected to a first stage or earliest primary phase by visually isolating those areas 
of each selected sample not affected by cross-cut veining. Once selected, each rock 
sample was coarse crushed in a stainless steel percussion mortar. Sulfide-rich mate-
rials were then handpicked from the crush and transferred to 50 ml Falcon tubes 
prior to immersion in cold HF for a period of 48 h, with a 5 min agitation in an 
ultrasonic bath every 2 h. Tubes were then subjected to centrifugation to concentrate 
the denser pyritic material. The pyrite free supernatant fraction was decanted and the 
bottom residue treated with cold HCl to liberate any carbonate and fluoride com-
plexes. The tubes again underwent centrifugation to concentrate the denser pyritic 
material, and the supernatant was discarded. Each sample was then  thoroughly 
rinsed in DI water up to eight times, and the resultant pyritic slurry was dried over-
night in a low temperature oven. Each sample concentrate was  subsequently added 
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to a 250 ml conical flask of DI water and agitated to separate out the last of the 
carbonaceous material and concentrate the pyritic material at the base of the flask. 
The liquid fraction was decanted off and retained for repeat phases if needed. This 
filtration step was repeated until the dominant colour at the bottom of the 250 ml 
conical flask was that of a brassy-yellow, or until no further material remained in 
suspension. The pyritic fraction was then decanted into ceramic crucibles and the 
concentrate oven dried at 40°C. Those samples found to be of low sulfide content 
were repeated to increase concentration or discarded as non-usable if the final 
sulfide concentration was too low. Samples displaying foreign matter inclusions 
(e.g. barite) were hand picked clean under magnification. Macroscopic sulfide 
laminates and barite crystals in stratiform barite-sulfide deposits at North Pole and 
sulfides in Sulfur Springs samples were generally sufficiently coarse grained to be 
prepared by hand picking of a coarse crush or micro-drilling.

Lead isotope analyses on extracted pyrite crystals were conducted at the 
University of Queensland Radiogenic Isotope Laboratory (UQ-RIL). Pyrite samples 
were boiled in de-ionised water, then twice evaporated to dryness in open Savillex 
beakers using 4 ml ultra-pure HF, in order to remove any silica traces and to maxi-
mise Pb yield. Samples were then digested at 145°C for 48 h in a 1:1 HNO

3
/HF 

mixture, converted to HBr form, and Pb separated using standard HCl–HBr 
chemistry, via double-pass through miniaturised anion-exchange columns. 
Pb-isotope ratios were acquired on a VG Sector54 instrument in static mode at 
pyrometer-controlled 1,350–1,450°C. Mass bias was estimated using NIST SRM 
981. Corrected results are reported at 2s confidence level (Table 1).

Table 1 Lead isotope data for Dresser pyrite samples

Sample 206Pb/204Pb 207Pb/204Pb 208Pb/204Pb 207Pb/206Pb 208Pb/206Pb
Age Error
(Ma) (±Ma)

EZ1 12.219 13.845 32.031 1.13307 2.62129 3,312 62
153.20m ±0.005 ±0.006 ±0.012 ±0.00010 ±0.00022
EZ2a 11.803 13.573 31.699 1.15005 2.68585 3,506 53
180.50m ±0.008 ±0.009 ±0.022 ±0.00015 ±0.00032
EZ2b 11.704 13.531 31.661 1.15245 2.69624 3,533 51
199.50m ±0.002 ±0.002 ±0.005 ±0.00005 ±0.00015
EZ4 11.795 13.621 31.784 1.15484 2.69484 3,493 29
Core ±0.006 ±0.007 ±0.019 ±0.00017 ±0.00039
L6-B 11.969 13.745 31.869 1.14840 2.66278 3,509 55
Surface ±0.004 ±0.004 ±0.011 ±0.00009 ±0.00020
DF-7 11.482 13.635 31.771 1.15147 2.68291 3,567 60
Core ±0.004 ±0.005 ±0.013 ±0.00007 ±0.00019
DF-11 11.988 13.735 31.874 1.14570 2.65880 3,508 65
Core ±0.005 ±0.004 ±0.010 ±.00010 ±0.00021
DF-16 11.962 13.728 31.827 1.14761 2.66061 3,515 60
Core ±0.004 ±0.004 ±0.011 ±0.00009 ±0.00017
DF-17 11.909 13.752 31.896 1.15480 2.67860 3,501 42
Core ±0.002 ±0.004 ±0.011 ±0.00011 ±0.00045
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Oxygen isotope analyses (d18O) were undertaken on a Micromass 602E mass 
spectrometer housed at the University of Queensland Stable Isotope Geochemistry 
Laboratory (UQ-SIGL), which uses the dynamic gas flow method to compare 
unknown sample gas with reference gas. Samples comprising a minimum 20 mg of 
crushed, hand picked quartz were reacted overnight at 650°C with bromine penta-
fluoride (BrF

5
) in nickel vessels in order to liberate oxygen (Clayton and Mayeda 

1963). The liberated gas was converted to CO
2
 by reaction with an internally heated 

carbon rod. Results are reported in per mil relative to the V-SMOW standard, with 
analytical uncertainties better than ±0.2‰ (1s) (Table 2).

Multiple sulfur isotope analyses (d34S, d33S) were carried out at the UQ-SIGL 
using a Carlo Erba NA1500 elemental analyser coupled in continuous flow mode 
to an Isoprime mass spectrometer (EA-CF-IRMS) (Baublys et al. 2004). Analytical 
precision was determined through replicate analyses of international standards 
NBS127 and IAEA-S3 run as unknowns, while international standards IAEA-S1 
and IAEA-S2 were used to set up the calibration for each analytical run. Results are 
reported in per mil relative to V-CDT and have an analytical uncertainty better than 
±0.2‰ (1s) (Tables 2 and 3).

5  Geochronology

The Pb-isotope compositions of the pyrites extracted from the samples are plotted 
in conventional common Pb space, i.e. 207Pb/204Pb versus 206Pb/204Pb (Fig. 4). The 
isotope ratio ranges for the samples from the Dresser Formation are: 206Pb/204Pb = 
11.740–12.219; 207Pb/204Pb = 13.531–13.845; and 208Pb/204Pb = 31.661–32.031. The 
variability in isotope ratio is not random but the data define a tight linear array 
(Fig. 4). The slope of this array is steeper than the Geochron and implies an origin 
as a binary mixing line. In other words, the spread in isotope composition is not 
primarily caused by an age range but by a different source origin of the Pb incor-
porated into the pyrites, which can be successfully described with the depleted 
(MORB) mantle source and a global average sediment mixture (EMIX). Those 
samples from the EZ drill holes that plot close to the MORB curve of Kramers and 
Tolstikhin (1997) are interpreted to have incorporated almost pure mantle Pb 
(Kamber et al. 2003). In contrast, the Pb-isotope results for sample DF17 plot 
almost exactly onto the EMIX curve, indicating that the Pb incorporated into this 
sample potentially originated from the weathering/recycling of non-juvenile sedi-
ment, i.e. some older exposed continental crustal component (Green et al. 2000). 
The remaining Pb samples from the dataset (DF7, DF11, DF16, and L6B) have a 
mixed MORB/EMIX signature. For these, a 50:50 MORB-EMIX origin was used 
in the model age calculation.

The model age calculation was performed by fitting the 206Pb/204Pb and the 
207Pb/204Pb temporal evolutions for the MORB-source mantle, the EMIX (both from 
Kramers and Tolstikhin 1997) and the 50:50 mixture versus time using polynomial 
fits. For each sample, two model ages were thus obtained by comparison of the 

S.D. Golding et al.



Table 2 Stable isotope data for Dresser sulfide, sulfate and quartz samples (WR = whole rock 
sample; V = vein sample)

Sample Lithology
Sulfur 
species d34S‰ d33S‰ D33S‰

Quartz 
variety d18O‰

EZ1 Black chert Pyrite 3.47 2.07 0.29 WR 13.7
153.20m 3.65 1.98 0.11
EZ2a Black chert Pyrite 2.98 1.81 0.27
180.50m 3.07 2.81 1.24
EZ2s Black chert Pyrite 2.84 1.11 −0.35
198.20m 2.64 1.15 −0.21
EZ2b Black chert Pyrite 1.83 1.75 0.81 WR 15.1
199.50m 2.55 1.00 −0.31

2.24 2.53 1.38
EZ4 Black chert Pyrite 2.49 3.19 1.91
Core 1.17 2.05 1.45
L6-B Massive barite Pyrite −3.93 −2.90 −0.88
Surface −3.76 −2.83 −0.89

Barite 4.35 0.87 −1.37
4.13 0.88 −1.25
4.09 0.66 −1.45

DFNP-WP38
Surface

Massive barite Barite 4.78 1.63 −0.83
4.64 1.13 −1.26
4.42 1.18 −1.09

DFNP-WP38A
Surface

Massive barite Barite 3.52 0.68 −1.14
4.56 1.18 −1.16
4.25 1.49 −0.78

DFNP-WP41A
Surface

Massive barite Barite 4.80 1.51 −0.96
4.91 1.41 −1.11
4.00 1.20 −0.86

DFNP-WP45
Surface

Massive barite Barite 4.99 1.68 −0.89
4.68 1.39 −1.02
4.80 1.39 −1.08

DF-2 Black chert Pyrite −8.93 −4.83 −0.22 WR 14.8
Core −0.27 0.47 0.61

0.84 0.72 0.29
−2.45 −0.78 0.48

DF-5 Black chert WR 14.5
Core
DF-7 Black chert Pyrite 0.63 1.14 0.82
Core 0.43 0.73 0.51
DF-10 Black chert WR 15.0
Core V 14.9
DF-11 Black chert Pyrite 1.69 1.12 0.25 WR 14.6
Core 0.95 0.20 −0.29

−4.31 −2.45 −0.23
DF12 Black chert WR 13.5
Core V 14.6
DF-16 Black chert Pyrite 3.93 2.81 0.79 WR 15.0
Core 4.82 2.62 0.14 V 14.8
DF-17 Black chert Pyrite 2.28 1.53 0.36 WR 15.5
Core 1.03 1.43 0.90 V 16.1

1.35 1.07 0.37
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Table 3 Multiple sulfur isotope data for sulfides and sulfates of the Panorama VHMS district 
(HW = hangingwall strata of deposit; MS = massive sulfide mineralization; FW = footwall strata 
of deposit)

Sample Host lithology Deposit Sulfur species d34S‰ d33S‰ D33S‰
SSD14-EY1
135.1 m

Fe-carbonate
altered siltstone

Sulphur 
Springs

Pyrite −0.01
 0.09
 0.27
 0.06

 1.95
 2.13
 2.29
 2.09

 1.95
 2.08
 2.15
 2.06

(HW)

SSD14-EY2/1 Fe-carbonate Sulphur 
Springs

Pyrite −0.49  0.54  0.79
147.9 m altered siltstone −0.28  0.71  0.85

(HW) −0.67  0.96  1.31
−0.64  0.88  1.21

SSD14-EY2/2 Chalcopyrite-
pyrite

 1.06  0.91  1.46
147.9 m  −0.42  1.10  1.32

−0.62  0.91  1.23
−0.39  1.32  1.53
 0.59  1.26  0.96
−0.15  1.09  1.16

SSD14-EY2/3 Pyrite;  0.14  0.90  0.83
147.9 m minor sphalerite  0.46  1.08  0.84

−0.76  0.38  0.77
−0.25  0.98  1.12
 0.54  1.01  0.73

SSD14-EY3
192.3 m

Silicified siltstone Sulphur 
Springs

Pyrite  2.44  1.66  0.40

(HW)

SSD14-EY4
210.6 m

Silicified 
volcanoclastic 

Sulphur 
Springs
(HW)

Pyrite  0.78
 0.93
 1.01

 2.44
 2.31
 2.33

 2.03
 1.84
 1.80

SSD14-EY5/1
270.5 m

Massive sulfide Sulphur 
Springs

Chalcopyrite; 
minor pyrite

−0.49
−0.12
−0.04
 0.58
 0.14
 0.57

−0.19
−0.02
 0.13
 0.51
 0.46
 0.45

 0.06
 0.04
 0.15
 0.21
 0.39
 0.16

(MS)

SSD14-EY5/2 Pyrite; minor −0.11  0.50  0.55
270.5 m Chalcopyrite  0.36  0.73  0.54

 0.41  1.09  0.88
 0.30  0.23  0.18

SSD14-EY5/3 Pyrite; minor  1.64  1.24  0.40
270.5 m Chalcopyrite  0.94  0.54  0.05

 0.69  0.56  0.21
 0.37  0.50  0.31
 0.81  0.61  0.19
 0.58  0.73  0.43

SSD14-EY5/4
270.5 m

Chalcopyrite; 
minor pyrite

 1.20
 0.19

 0.91
 0.31

 0.30
 0.21

 0.24  0.09 −0.04

(continued)
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Sample Host lithology Deposit Sulfur species d34S‰ d33S‰ D33S‰

SSD51-81/1
439.90 m

Fe-carbonate
altered siltstone

Sulphur 
Springs
(HW)

Pyrite  1.99
 2.33
 2.34

 1.75
 1.85
 1.68

 0.73
 0.65
 0.48

SSD51-81/2 Pyrite  2.44  1.76  0.51
439.90 m  1.66  1.79  0.94

 2.08  1.45  0.38
 2.89  2.01  0.52
 1.81  1.31  0.37
 1.91  1.72  0.74

SSD51-102
679.15 m

Fe-carbonate
altered siltstone

Sulphur 
Springs
(HW)

Pyrite −2.71
−2.09
−2.70

−0.17
 0.35
−0.02

 1.23
 1.42
 1.37

−1.60  0.63  1.46
−2.29  0.18  1.36
−1.54  0.67  1.46

RMD2-01 Interbedded chert 
and

Road  
Master

Pyrite  1.82  1.92  0.98
110.1 m  1.38  1.49  0.78

Fe-carbonates (HW)  1.50  1.76  0.98

RMD2-05 Fe-carbonate Road Master Pyrite  0.80  1.76  1.35
119.4 m altered siltstone (HW)  0.47  1.28  1.04

RMD2-10 Chert Road Master Pyrite −0.20 −0.08  0.03
144.6 m (MS)  0.50  0.16 −0.10

 0.06 −0.05 −0.08

RMD2-EY1/1
149.4 m

Semi-massive 
sulfide

Road Master
(MS)

Pyrite  0.38
 0.77

 0.46
 0.91

 0.26
 0.51

 0.60  0.40  0.10
 1.49  1.03  0.27
 0.95  0.76  0.28

RMD2-EY1/2 Pyrite  0.26  0.52  0.39
149.4 m  0.69  0.38  0.03

 0.65  0.50  0.16
RMD2-EY1/3
149.4 m

Pyrite; minor 
sphalerite

 1.40
 1.21

 0.53
 0.79

−0.19
 0.17

 1.26  0.82  0.17

RMD2-12/1 Chert Road Master Vein pyrite −0.48 −0.16  0.09
151.6 m (FW) −0.27 −0.13  0.00

−0.62 −0.40 −0.08
RMD2-12/1 Vein pyrite −0.04  0.12  0.14
151.6 m −1.18 −0.39  0.22

−0.99 −0.18  0.33

RMD2-17/1 Chert Road Master Vein pyrite  0.13  0.30  0.23
168.8 m (FW)  0.60  0.24 −0.07

 0.35  0.27  0.09
RMD2-17/1 Concordant  0.19  0.21  0.11
168.8 m pyrite −0.48 −0.27 −0.03

−0.88 −0.88 −0.43
(continued)

Table 3 (continued)
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Fig. 4 Pyrite 207Pb/204Pb vs. 206Pb/204Pb of Dresser Formation pyrite plotted relative to MORB-
source mantle and Erosion Mix Pb-isotope growth curves of Kramers and Tolstikhin (1997)

Sample Host lithology Deposit Sulfur species d34S‰ d33S‰ D33S‰

KCD23-01
537.2 m

Silicified volcanic Kangaroo 
Caves
(FW)

Pyrite  2.25
 2.86
 2.49

 1.19
 1.38
 1.37

 0.03
−0.10
 0.09

KCD23-02
546.8 m

Quartz-carbonate-
pyrite-chlorite-
sericite alteration

Kangaroo 
Caves
(FW)

Pyrite  2.04
 1.27
 1.67

 0.92
 0.05
 0.79

−0.13
−0.60
 0.03

 1.31  0.71  0.04
 2.07  1.13  0.06

KCD23-05/1 Quartz-carbonate-
barite-pyrite-
sericite alteration

Kangaroo 
Caves

Barite  6.28  3.02 −0.20
556.25m  6.09  3.05 −0.08
KCD23-05/2 (FW) Vein pyrite  0.38  0.23  0.04
556.25 m  0.04  0.65  0.63

 0.32  0.41  0.25
KCD23-05/3 Disseminated 

pyrite
 2.38  0.52 −0.70

556.25 m  0.48 −0.07 −0.31

Table 3 (continued)

pyrite Pb with the appropriate model curve. The combined average of these two 
values per sample provided both an estimated age and error of 1s (Table 1).

With the exception of sample EZ1 (see further below for discussion), the 
 calculated Pb–Pb model ages (Table 1) of the sulfides extracted from the Dresser 
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Formation samples yield a tight cluster with an average 207Pb/206Pb age of 3,517 ± 23 
Ma. Recent U–Pb SHRIMP dating of zircons isolated from a felsic tuff layer within 
the formation has provided a maximum depositional age of 3,481 ± 3.6 Ma respec-
tively (Van Kranendonk et al. 2008), which is broadly consistent with the Pb–Pb 
model age of the stratiform barite-chert units. On the other hand, the monzogranite 
exposed in the core of the dome has a conventional U–Pb zircon age of 3,459 ± 18 
Ma and a single porphyritic felsic intrusion has an overlapping SHRIMP-RG U–Pb 
zircon age of 3,438 ± 12 Ma (Harris et al. 2009). Based on these ages and local cross 
cutting relations between felsic porphyry dykes and quartz veins with colloform and 
comb textures, Harris et al. (2009) concluded that the barite-rich hydrothermal sys-
tem at North Pole was related to this 3.45 Ga magmatism and contemporaneous with 
eruption of the overlying 3,458 ± 2 Ma Panorama Formation (Thorpe et al. 1992). 
Our geochronology results are not consistent with this interpretation of the timing of 
emplacement of the barite mineralisation in the deeper parts of the Dresser stratig-
raphy but do not preclude a subsequent quartz vein mineralisation overprint related 
to the 3.45 Ga magmatism.

The Pb–Pb model age of sample EZ1 of 3,312 ± 42 Ma is significantly younger 
than the rest of the sample set, and is interpreted to reflect late stage recrystallisa-
tion. Given the disparity between the calculated age of this and the other samples, 
EZ1 is classed as an outlier.

6  Stable Isotopes

Oxygen isotopes of vein and alteration minerals in hydrothermal systems are used to 
infer fluid sources and the temperature of formation of these minerals. However, pro-
cesses such as fluid-rock interaction, boiling and mixing may modify the  oxygen (and 
hydrogen) isotopic composition of the ore fluid and preclude unambiguous determina-
tion of fluid sources particularly in the absence of independent temperature estimates. 
The d18O values of whole rocks surrounding many ore deposits vary systematically, 
with low d18O values commonly associated with the most intense zones of alteration 
(Huston 1999). In the case of seafloor hydrothermal systems, d18O whole rock values 
commonly decrease with depth in the volcanic pile and in feeder zones beneath depos-
its, which is interpreted to reflect increasing temperature with depth and in the feeder 
system (Huston 1999 and references therein). However, other factors such as water/rock 
ratio and the d18O of the hydrothermal fluid also affect the final whole rock d18O values. 
Nevertheless, modelling of oxygen (and hydrogen) isotope systematics may allow dis-
tinction among these effects and provide constraints on district scale hydrology.

Sulfur isotopes are also used to determine the sources of sulfur present as  sulfides 
and sulfates and may provide constraints on the extent of oxidation- reduction reactions 
in hydrothermal systems. Moreover, as discussed in Section 2, the Archean surface 
environment has multiple sulfur sources that have different d34S and D33S, which 
allows determination of whether sulfur in a hydrothermal system left the atmosphere 
in an oxidized or reduced form or was of magmatic origin (cf. Jamieson et al. 2006).
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6.1  Dresser Formation

Oxygen isotope values were obtained for nine Dresser Formation black chert drill 
core samples (Table 2) to provide constraints on fluid sources and the likely depo-
sitional temperature of the chert-barite units. Originally interpreted as diagenetic 
replacement of evaporitic gypsum, these units are considered to be of hydrothermal 
origin by the majority of workers (e.g. Nijman et al. 1999; Hickman and Van 
Kranendonk 2004; Huston and Logan 2004; Van Kranendonk and Pirajno 2004; 
Van Kranendonk et al. 2008). Clean quartz chips were hand picked that allowed a 
distinction among whole rock and vein-sourced material for several of the samples. 
d18O values of the Dresser samples fall within a relatively narrow range from 
13.5‰ to 16.1‰, with a mean of 14.8‰ ± 0.7‰ (n = 13). Vein quartz and black 
chert generally have similar d18O values (Table 2), and the results overlap the d18O 
values of quartz vein surface samples with epithermal textures from the North Pole 
Dome that range from 13.7‰ to 16.0‰ (n = 9) (Harris et al. 2009).

Two independent studies provide an indication of the possible temperature 
regime during deposition of the chert-barite units. Glikson et al. (2008) reported 
reflectance values for the various CM types identified in the black chert drill cores 
and obtained temperatures of 170–200°C (Ro = 1.2–1.8) and 230–240°C (Ro = 
2.5–2.8) for the lowest Ro populations using the conversion of Aizawa (1990). 
Harris et al. (2009) undertook fluid inclusion microthermometry of quartz-chalced-
ony veins at various levels in the Dresser stratigraphy. These authors provided little 
information on the location and nature of the material analysed and appear to have 
focused on colloform and comb quartz including material interlayered with and 
overgrowing barite. The relationship between this material and the bedded cherts, 
barite and carbonates intersected in the Pilbara Drilling Project (Philippot et al. 
2007; Van Kranendonk et al. 2008) is unclear; however, fluid inclusions in quartz 
have homogenization temperatures from 110–260°C, with the majority less than 
210°C (Harris et al. 2009). On the other hand fluid inclusions in barite exhibited a 
wider range of homogenisation temperatures from 158–365°C (Harris et al. 2009), 
which in part may reflect post-entrapment modification. Using the quartz-water 
fractionation equation of Matsuhisa et al. (1979), the water in equilibrium with 
cherts with a mean d18O of 14.8‰ ± 0.7‰ at 150–200°C has a d18O value of −0.6‰ 
to 3.2‰ inconsistent with magmatic or metamorphic fluid sources (Taylor 1992).

The use of d18O values in the interpretation of fluid composition and/or 
palaeotemperatures from Precambrian seafloor sediments is recognised as uncer-
tain due to the possibility that the d18O values may have been modified by isotopic 
reequilibration during diagenesis at elevated temperature (i.e. burial metamor-
phism) and postdepositional processes, such as regional metamorphism (e.g. de 
Ronde et al. 1997; Faure and Mensing 2005). However, the lack of a strong meta-
morphic overprint, as expressed by the Pb isotope results and the inferred thermal 
history indicators (Glikson et al. 2008) suggests these samples have not been sig-
nificantly altered by any of these processes. The 2.6‰ variation in the d18O values 
reported in this study is most likely the result of somewhat variable hydrothermal 
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fluid temperatures, resulting in isotopic fractionation within the system (de Ronde 
et al. 1997). This interpretation allows for calculation of palaeotemperatures from 
the chert d18O results using a model fluid composition and a rearrangement of the 
Matsuhisa et al. (1979) quartz-water fractionation equation. Modelling undertaken 
in previous studies (e.g. de Ronde et al. 1997; Robert and Chaussidon 2006) has 
shown that the d18O of seawater is buffered by mid-ocean ridge hydrothermal 
circulation, which implies that seawater has probably had a constant d180 value of 
between −1.0‰ and + 1.0‰ since Archean times. Assuming a likely value of −1‰ 
for the Archean ocean and a seawater-dominated hydrothermal system (de Ronde 
et al. 1997; Muehlenbachs 1998), infers a possible depositional temperature for the 
Dresser Formation charts of 132–160°C. If an assumed value of −2‰ is adopted, 
as has been suggested (Land and Lynch 1996; Lécuyer and Allemand 1999), then 
temperatures would be even lower for the same samples from 123–148°C. 
Conversely, a +2‰ d18O, equivalent to the d18O value of modern seafloor systems 
(Shanks et al. 1995) would give a temperature range of 166–203°C. These tempera-
tures and the previously calculated fluid compositions are consistent with a hydro-
thermal origin for the chert-barite units where sea water or low latitude meteoric 
water was the major component of the hydrothermal system.

Multiple sulfur isotope values were obtained for fine grained sulfides separated 
from drill core samples of black chert, and sulfide and sulfate concentrates from 
outcrop samples of stratiform barite (Table 2). Our data show significant variations 
in d34S and D33S among the different sulfide types. Sulfides from the black cherts 
exhibit a wide range of d34S values from −8.93‰ to 4.82‰ (d34S = 1.24‰ ± 
2.88‰; n = 25) and positive D33S anomalies up to 1.91‰ (D33S = 0.45‰ ± 0.6‰; 
n = 25). Samples with the most positive D33S also have positive d34S values; how-
ever, there is only a modest positive correlation between d34S and D33S (Fig. 5). 
Runnegar et al. (2001) and Ueno et al. (2008) also found that disseminated pyrite 
in the bedded black cherts and black chert veins have positive D33S anomalies, 
which they attributed to an atmospheric elemental sulfur source. The similar D33S-
d34S systematics of the bedded cherts and chert veins supports a common hydro-
thermal origin for these units in line with field relationships (Ueno et al. 2008) 
although it is unclear whether the cherts are truly exhalative or formed by silicifica-
tion of precursor lithologies. In this context, Philippot et al. (2007) reported that 
sedimentary sulfides from bedded carbonates and volcanoclastic sandstones overly-
ing the main chert-barite unit in drill holes PDP2B and PDB2C have a limited range 
of d34S values (−1.4‰ ± 2.7‰) and positive D33S anomalies of 1.0‰ ± 0.6‰. The 
d34S values of the black chert pyrites overlap those of the bedded carbonates rather 
than the volcanoclastic sandstones (Fig. 6a), which provides support for the inter-
pretation of Van Kranendonk et al. (2008) that the barite-chert units formed at least 
in part by hydrothermal replacement of the bedded carbonate rocks.

The positive D33S of sulfides analysed in the current and previous studies poten-
tially implicates an elemental sulfur source of UV-photolysis origin, with sulfide 
formation occurring as a result of reduction or disproportionation of elemental 
sulfur (So) to sulfide (H

2
S). The modest range of d34S values is consistent with 

inorganic reduction or disproportionation of elemental sulfur to sulfide or microbial 
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reduction of elemental sulfur to sulfide that produce 34S isotope fractionations of 
only a few per mil (Ohmoto and Goldhaber 1997; Canfield et al. 1998; Smith 
2000). The majority of black chert pyrites have positively correlated d34S-D33S 
 values (Fig. 6a) at odds with compositions expected to result from atmospheric 
photolysis of volcanic gases with 193-nm UV radiation, which may reflect different 
atmospheric conditions (Farquhar and Wing 2003; Ono et al. 2003; Bao et al. 
2007). Reactions between organic matter in the sediments and mass  dependently 
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Fig. 5 (a, b) Multiple sulfur isotope compositions of sulfides and sulfates from the Dresser 
Formation black chert and barite units plotted with comparable data from previous work (Ueno 
et al. 2008; Shen et al. 2009). In this plot we have not distinguished between vein and bedded 
samples that have similar multiple sulfur isotope systematics



35Earliest Seafloor Hydrothermal Systems on Earth: Comparison with Modern Analogues

Black Cherts
a

b Barite

Pyrite (Pyrite-Barite Pair)

Barite (Pyrite-Barite Pair)

Sulfide Laminates

Bedded Carbonate

Sandstone

−15 −10 −5

−1

−2

0

4

3

2

1

0

−1

−2

4

3

2

1

0

5 10

−15 −10 −5 0 5 10

∆3
3 S

 (
‰

)
∆3

3 S
 (

‰
)

δ34S (‰)

δ34S (‰)

Fig. 6 (a) Plot of D33S versus d34S shows that Dresser Formation black chert D33S and d34S are 
positively correlated and overlap those of the bedded carbonates from drillholes PDP2B and 
PDP2C. Several pyrite analyses from DF2 and DF11 plot off the main trend and appear to have 
been mass dependently fractionated. (b) Plot of D33S versus d34S shows that the macroscopic 
sulfide laminates from drillholes PDP2B and PDP2C have compositions intermediate between the 
volcanoclastic sandstones and bedded carbonates with positive D33S anomalies (grey elliptical 
field) and the hydrothermal sulfides with negative D33S anomalies. Data for drillholes PDP2B and 
PDP2C from Philippot et al. (2007)

fractionated sulfate-bearing hydrothermal fluids could also produce positive D33S 
anomalies; however, the predominantly positive d34S values in the bedded black 
cherts and black chert veins militate against thermochemical sulfate reduction 
(TSR) that typically produces 34S-depleted sulfide even in the case of the amino 
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acid experiments (Watanabe et al. 2009). On the other hand, several black chert 
pyrites have more depleted d34S values and near zero D33S (DF 2 and DF 11; 
Table 2), which may suggest they were produced by thermochemical or microbial 
reduction of sulfate of magmatic origin.

Pyrite occurring with barite in sample L6-B has negative d34S (−3.93‰ to 
−3.76‰) and D33S (−0.89‰ to −0.88‰). The L6-B barite is enriched in 34S relative 
to the associated sulfide by some 8‰, but has a similar, albeit somewhat more nega-
tive D33S (−1.45‰ to −1.25‰) consistent with a common sulfur source for sulfide 
and sulfate (Table 2). More generally the bedded barites analysed in the current 
study have positive d34S values of 4.46‰ ± 0.40‰ (n = 15) and negative D33S value 
of −1.08‰ ± 0.20‰ (n = 15) that are similar to those found previously by Farquhar 
et al. (2000), Philippot et al. (2007), Ueno et al. (2008) and Shen et al. (2009) 
(Fig. 5). The negative D33S anomalies in sulfates and some sulfides of the Dresser 
Formation are strong evidence for the incorporation of sulfate of UV-photolysis 
origin and at odds with the interpretation of Van Kranendonk et al. (2008) that sul-
fate in the Dresser Formation resulted largely from disproportionation of magmatic 
SO

2
. Moreover, the consistency of the negative D33S anomalies at North Pole across 

vein and stratiform barite indicate a common sulfur source with a significant com-
ponent of MIF-sulfur. While some of the barite in the Dresser Formation may have 
formed by diagenetic replacement of gypsum (Shen et al. 2001, 2009), the majority 
of the barite shows no evidence of gypsum precursors and precipitated from solution 
(Runnegar et al. 2001; Van Kranendonk et al. 2008; Harris et al. 2009). Because of 
its highly insoluble nature, barite forms most readily when a barium-bearing reduced 
fluid mixes with an oxidized sulfate-bearing fluid. This is a common occurrence in 
Phanerozoic VHMS systems where barium-bearing hydrothermal fluids mix with 
sulfate-bearing seawater at and beneath the seafloor (Huston and Logan 2004). The 
contrasting positive and negative D33S anomalies of the sulfide-barite and sulfide-
silica veins and stratiform deposits and their cyclic formation (Van Kranendonk 
et al. 2008; Ueno et al 2008) suggest the Dresser barites were formed in a similar 
way. The interpreted occurrence of evaporites in the Dresser stratigraphy indicates 
that contemporaneous seawater contained sufficient sulfate at least locally to precipi-
tate gypsum. The variations in D33S of the pyrite laminates of Philippot et al. (2007) 
may also have resulted from mixing of positive and negative MIF sulfide (Fig. 6b).

Ueno et al. (2008) and Shen et al. (2009) have shown that pyrite coexisting with 
barite has similar or slightly higher D33S and lower D36S than the barite (Figs. 5b 
and 6b), which they interpreted in terms of microbial sulfate reduction. On the other 
hand, Philippot et al. (2007) identified one sulfide-barite sample with positive D33S 
and negative d34S that they suggested was due to microbial sulfur disproportion-
ation. These interpretations are consistent with the quadruple sulfur isotope system-
atics of the sulfide-barite pairs but take little account of the nature of the samples 
and the likely environment of formation. Specifically, the sulfide-barite veins both 
feed and crosscut the stratiform sulfide-barite units that likely formed at tempera-
tures significantly in excess of 100°C based on fluid inclusion studies (Harris et al. 
2009) and modelling of the oxygen isotopic composition of the barites (Runnegar 
et al. 2002). We obtained similar temperatures from modelling of the oxygen 
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isotopic  composition of the black cherts that are spatially associated with the 
 sulfide-barite units. These inferred temperatures preclude direct microbial involve-
ment in the formation of the predominant sulfide in barite with negative D33S and 
d34S values, which most likely formed through TSR using particulate or soluble 
organic matter sourced from the sediments or the hydrothermal system. Observed 
differences in D33S and D36S of the sulfide relative to coexisting sulfate can be 
explained by microbial sulfate reduction (Ueno et al. 2008; Shen et al. 2009) but 
are equally compatible with thermochemical reduction of negative MIF sulfate 
utilizing kerogen and/or abiogenic organic compounds (cf. Watanabe et al. 2009).

6.2  Sulphur Springs

VHMS mineralisation at Sulphur Springs and elsewhere in the Panorama Zn–Cu field 
occur mainly at the contact between the Sulphur Springs Group and the overlying 
Gorge Creek Group. The Kangaroo Caves Formation comprises basic to felsic volca-
nics and is intruded by the synvolcanic Strelley Granite that is interpreted to have been 
the heat source driving hydrothermal convection in the district (Brauhart et al. 1998, 
2000). Resources have been defined at the Sulphur Springs, Kangaroo Caves and 
Bernts deposits (Brauhart et al. 2000) and base mineralisation interested at a number 
of other localities including the Roadmaster prospect. Brauhart et al. (2000) used oxygen 
isotopes of whole rocks to investigate fluid flow patterns and temperatures of water-
rock interaction in the Panorama field. They showed there was a steady decrease in 
whole rock d18O values from the top to the bottom of the volcanic pile and zones of 
low d18O values underlying many of the VHMS deposits, which they interpreted to 
reflect increasing temperature with depth and in feeder zones consistent with a convec-
tive hydrothermal model. The systematically zoned alteration zones underlying 
Sulphur Springs and other VHMS deposits in the field record seawater-rock interac-
tion at depth and the return of this hydrothermal fluid to the seafloor (Brauhart et al. 
2000; Huston et al. 2001). A zone of sulfur depletion at the base of the volcanic pile 
characterised by d34S whole rock values up to 10‰ is interpreted to result from inor-
ganic seawater sulfate reduction coupled with dissolution of volcanic sulfides (Huston 
et al. 2001). On the other hand sulfides from the Kangaroo Caves deposit exhibit a 
narrow range of d34S values around 0‰, which suggests volcanic and/or primary mag-
matic sulfur predominates in the VHMS deposits (Huston et al. 2001).

In the current study, multiple sulfur isotope values were obtained for sulfides 
microdrilled from drill core samples of hanging wall (HW) and massive sulfide 
mineralisation from the Sulphur Springs deposit, HW, massive sulfide and footwall 
(FW) mineralisation from the Roadmaster prospect and FW mineralisation from 
the Kangaroo Caves deposit (Table 3). Sulfides from the HW of the Sulphur 
Springs deposit exhibit the widest range of d34S values (d34S = 0.27‰ ± 1.49‰; 
n = 38) and positive D33S anomalies up to 2.15‰ (D33S = 1.16‰ ± 0.52‰; n = 38) 
(Fig. 7). Sulfides from the HW of the Roadmaster prospect exhibit a somewhat 
smaller range of d34S values (d34S = 1.19‰ ± 0.55‰; n = 5) and positive D33S 
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anomalies up to 1.35‰ (D33S = 1.03‰ ± 0.21‰; n = 5) (Fig. 8). HW sulfides 
 comprise pyrite with lesser sphalerite and chalcopyrite and are preferentially hosted 
in Fe-carbonate altered siltstones. Siderite and ferroan carbonate is attributed to 
hydrothermal alteration of fine silts and organic matter rich muds of pelagic origin 
(Vearncombe et al. 1998), which may have provided a local elemental sulfur source 
of UV-photolysis origin with positive MIF.
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Our d34S data show a more limited range of values for massive sulfide 
 mineralisation at Sulphur Springs (d34S = 0.43‰ ± 0.50‰; n = 19) and Roadmaster 
(d34S = 0.72‰ ± 0.51‰; n = 14) (Figs. 7 and 8). The D33S data for massive  sulfide 
mineralisation at Sulphur Springs (D33S = 0.27‰ ± 0.22‰; n = 19) and Roadmaster 
(D33S = 0.14‰ ± 0.19‰; n = 14) show mass dependent fractionation and positive 
D33S anomalies in different sulfide generations of the same sample (Table 3), that 
indicates these sulfides had different sulfur sources and were not in isotopic equi-
librium (cf. Jamieson et al. 2006). Mineral precipitation forming massive sulfide 
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mineralisation on the seafloor occurs primarily through mixing between 
 hydrothermal fluid and ocean bottom water (Ohmoto et al. 1983). Sulfides in the 
HW volcanics likely also have isotopic compositions that reflect mixing between 
late stage hydrothermal fluids and connate pore waters of marine origin. In this 
context, the lack of variation in sulfide d34S and variably positive D33S values of 
the massive sulfide mineralisation are attributed to mixing between a hydrothermal 
fluid dominated by MDF igneous sulfur leached from the volcanic pile and 
 connate waters of marine origin with reduced sulfur derived from aqueous dispro-
portionation of atmospheric elemental sulfur. HW mineralisation exhibits a wider 
range of sulfide d34S and more positive D33S values that likely indicates a higher 
contribution of MIF sulfur from connate fluids and/or the sedimentary host rocks 
of the Gorge Creek Group. The lack of negative MIF sulfur in the massive sulfide 
and HW mineralisation is noteworthy as is the general paucity of sulfate minerals 
in the deposits of the Panorama field.

Barite is a minor phase in the massive sulfide mineralisation at Sulphur Springs 
and Kangaroo Caves and is variably overprinted by hydrothermal silica in FW 
stockworks. Pyrite occurring with barite in sample KCD23-05 from the FW of 
the Kangaroo Caves deposit has near zero d34S (0.04–2.38‰) and both small posi-
tive and negative D33S anomalies (−0.70‰ to 0.63‰) (Table 3). The KCD23-05 
barite is enriched in 34S relative to pyrite by some 4–6‰ and exhibits mass depen-
dent fractionation (D33S = −0.20‰ to −0.08‰). The small difference between the 
d34S values of the pyrite and the barite and the different D33S values indicate that 
isotopic equilibrium was not attained between sulfate and sulfide during mixing of 
fluids and mineral precipitation. More generally our pyrite data show a modest 
range of d34S values for FW mineralisation at Kangaroo Caves (d34S = 1.50‰ ± 
0.95‰; n = 13) and Roadmaster (d34S = −0.31‰ ± 0.56‰; n = 12) (Figs. 7 and 8). 
The d34S values overlap with previous data from the Kangaroo Caves deposit for 
pyrite (d34S = 0.10‰ ± 0.625‰; n = 8) and barite (d34S = 5.19‰ ± 0.36‰; n = 4) 
(Huston et al. 2001). On the other hand, FW mineralisation at the Kangaroo Caves 
deposit (D33S = 0.27‰ ± 0.22‰; n = 19) and Roadmaster prospect (D33S = 0.27‰ ± 
0.22‰; n = 19) shows mass dependent fractionation and small positive and nega-
tive D33S anomalies in different sulfide generations of the same sample (Table 3), 
which provides further evidence for fluid mixing and a possible component of sea-
water sulfate with negative sulfur MIF within the FW feeder zone. Thus there is a 
general trend of increasing D33S with stratigraphic height in an individual ore sys-
tem (Figs. 7 and 8); however, this zonation does not reflect absolute stratigraphic 
height in the district as the Sulphur Springs deposit at the top of the Kangaroo 
Caves Formation and the Roadmaster prospect deeper in the stratigraphy exhibit 
similar trends. This may suggest the hydrothermal fluid was dominated by dis-
solved rock sulfur of magmatic origin (D33S » 0‰) but included a small component 
of sulfur from inorganic reduction of seawater sulfate with negative D33S (cf. 
Huston et al. 2001). The composition of this fluid seems to have evolved through 
time as disseminated pyrite with negative D33S is overprinted by veinlet pyrite with 
MDF sulfur in the FW mineralisation at Roadmaster (RMD2-17) and Kangaroo 
Caves (KCD23-05).
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7  Summary and Conclusions

Geochronology and stable isotope studies of the Dresser Formation show that the 
stratiform chert-barite units formed in a seafloor hydrothermal system with charac-
teristics intermediate between a conventional seawater-dominated white smoker 
system and epithermal style vein mineralisation. The d18O values of the Dresser 
black cherts and quartz veins with epithermal textures are very similar and consis-
tent with an intermediate temperature hydrothermal system dominated by sea water 
and/or low latitude meteoric water. Recent studies of modern shallow submarine 
hydrothermal systems have shown that active venting in water depths less than 500 m 
can result in epithermal style mineralisation or mineralisation transitional in 
character with classic massive sulfide deposits that form under deeper water condi-
tions (e.g. Petersen et al. 2002; Sillitoe and Hedenquist 2003; Gemmell et al. 2004). 
In such systems black silica veins and quartz veins with epithermal textures and 
mineralogy indicative of near neutral hydrothermal fluids can occur with or over-
print acid-sulphate style alteration as has been documented for the Dresser hydro-
thermal system (Van Kranendonk and Pirajno 2004; Van Kranendonk et al. 2008; 
Harris et al. 2009). While bedded silica-barite deposits can form directly on the 
seafloor at the site of shallow hot springs, solubility and kinetic considerations 
make it more likely that the Dresser silica-barite units were formed within uncon-
solidated sediments where hydrothermal fluids mixed with seawater as has been 
suggested for the Kuroko tetsusekiei ores of Japan (Ohmoto et al. 1983). The con-
trasting positive and negative D33S anomalies of the sulfide-barite and sulfide-silica 
veins and stratiform deposits and their cyclic formation support this hypothesis.

Black cherts have positive D33S values up to 1.91‰ that overlap those of a previous 
study (Ueno et al. 2008) and implicate an elemental sulfur source of UV-photolysis 
origin. The modest range of d34S values for the black cherts is consistent with inor-
ganic reduction or disproportionation of elemental sulfur to sulfide or microbial 
reduction of elemental sulfur to sulfide. Reduction or disproportionation of elemental 
sulfur must have occurred in the hydrothermal convection cell as barite and coexisting 
pyrite have similar negative D33S values suggesting a common seawater source different 
from that of the black chert pyrite. Atypically for Archean sulfide-sulfate pairs, the 
d34S values of pyrite are up to 22‰ less than that of coexisting barite and also have 
distinctive d33S/d34S slopes consistent with microbial sulfate reduction (Shen et al. 
2001, 2009; Ueno et al. 2008). These authors concluded on this basis that there was 
a strong case for the activity of sulfate reducing microbes at ca. 3.5 Ga. We note, 
however, that the reported quadruple sulfur isotope systematics of pyrite-barite pairs 
are equally permissive of a thermochemical origin for the pyrite based on the experi-
mental work of Watanabe et al. (2009). Microbial processes were active in low tem-
perature parts of the Dresser hydrothermal system based on the work of Glikson et al. 
(2008); however, the inferred temperatures of formation of the barite and associated 
pyrite based on fluid inclusion studies (Harris et al. 2009) and oxygen isotope model-
ling (Runnegar et al. 2002) are too high to permit microbial sulfate reduction and 
more compatible with thermochemical reduction of seawater sulfate. Moreover, the 
majority of sedimentary sulfides older than 2.8 Ga have positive D33S implying an 
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elemental sulfur source of UV-photolysis origin and/or thermochemical reduction of 
mass dependently fractionated sulfate (Fig. 1), which is inconsistent with an early 
Archean origin for microbial sulfate reduction. Multiple sulfur isotopes are unable to 
distinguish microbial and inorganic sulfur reduction such that these data do not pre-
clude an early origin for sulfur reducers.

In contrast to the controversy surrounding the Dresser Formation, Sulphur Springs 
and other VHMS deposits of the 3.24 Ga Panorama Zn–Cu field are similar in mor-
phology and mineralogy to modern seafloor massive sulfide deposits albeit with 
somewhat different sulfur isotope systematics. Our sulfur isotope data for Sulphur 
Springs, Kangaroo Caves and Roadmaster are similar to other Paleoarchean VHMS 
deposits in that they exhibit a narrow range of d34S values in sulfides from −3‰ to 
3‰, whereas Phanerozoic massive sulfide deposits range from −5‰ to 20‰ (Huston 
1999; Huston et al. 2001). Barite from the Kangaroo Caves deposit is enriched in 34S 
relative to pyrite by some 4–6‰ that is typical for Paleoarchean deposits and con-
trasts with Phanerozoic deposits where the difference is typically 16–22‰ (Huston 
1999). The variably positive D33S anomalies of HW, massive sulfide and FW miner-
alisation, disequilibrium relations among sulfides and sulfates in the same sample and 
general trend of increasing sulfide D33S with stratigraphic height in individual ore 
systems most likely reflects temperature evolution and fluid mixing at and beneath 
the seafloor through the life of the hydrothermal system. In this context recent model-
ling of hydrothermal fluid flow in the Panorama field shows that individual deposits 
could have formed in some 5,000 years, whereas district scale hydrothermal activity 
may have lasted for >200,000 years (Schardt and Large 2009). The absence of 
sulfides with significant negative D33S anomalies contrasts with late Archean VHMS 
deposits (Jamieson et al. 2006) and suggests that volcanic sulfur not seawater sulfate 
was the dominant sulfur source for the hydrothermal system.

Paleoarchean seafloor mineral systems from the Pilbara Craton of Western Australia 
such as the Dresser Formation and Panorama Zn–Cu field are unusual in that they con-
tain barite, whereas barite and other sulfates are generally absent from younger Archean 
VHMS mineralisation (Huston and Logan 2004). Previous workers have suggested 
these differences may reflect temporal and/or spatial variations in seawater sulfur con-
tent and redox conditions (Eastoe et al. 1990; Huston 1999; Huston and Logan 2004). 
In this context the negative D33S anomalies of barite and associated pyrite of the Dresser 
Formation indicate the Paleoarchean seas were at least locally sulfate bearing. The pres-
ence of negative D33S anomalies in the shallow water Dresser Formation and their 
general absence in the deeper water VHMS deposits of the Panorama field may suggest 
the occurrence of sulfate-bearing surface waters and more anoxic bottom waters.
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Abstract Hydrothermal systems have played an important role in shaping the 
3.54–3.23 Ga volcano-sedimentary succession of the Barberton greenstone belt. 
Evidence for relatively low-temperature (£150°C) seafloor hydrothermal activity 
is widely recorded in extensive silicification of volcanic and sedimentary rocks, 
leaching of elements commonly mobile during water-rock interaction, and exten-
sive hydraulic fracturing. Evidence for the presence of high-temperature hydro-
thermal vents is scarce and restricted to a massive sulphide deposit near the top 
of the succession. Many of the zones affected by seafloor alteration are spatially 
associated with traces of early life, such as carbonaceous matter and bioalteration 
features. Diffuse venting of low-temperature hydrothermal fluids was a widespread 
phenomenon on the Palaeoarchaean seafloor, making it an ideal habitat for hyper-
thermophiles and the possible birthplace of life during earlier times.

Keywords Barberton greenstone belt • Archaean • Hydrothermal activity • Seafloor 
alteration • Silicification

1  Introduction

The Barberton greenstone belt contains a well preserved Palaeoarchaean volcano-
sedimentary succession that provides abundant evidence for the interaction of 
submarine volcanic rocks and seafloor sediments with the hydrosphere and 
 biosphere. Petrological and geochemical studies have provided evidence for the 
existence, as early as 3.5 Ga, of a rich microbial ecosystem. This is preserved as 
filamentous and spherical structures of carbonaceous matter and microbial mats in 
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cherts (Walsh 1992; Westall et al. 2001, 2006; Tice and Lowe 2006; Glikson et al. 
2008) as well as possible bioalteration features in pillow lavas and hyaloclastites 
(Furnes et al. 2004; Banerjee et al. 2006). Many of these traces of life are associated 
with rocks that show evidence for hydrothermal activity on the Archaean ocean 
floor. Submarine hydrothermal systems, driven by circulation of seawater through 
volcanic rocks, constitute a possible site where life emerged and evolved. This 
paper provides a summary of features preserved in the Barberton greenstone belt 
that may be directly related to the presence of hydrothermal systems. The impor-
tance of these systems as a habitat of ancient life is briefly evaluated.

2  Geological Setting

The Barberton greenstone belt (Fig. 1) is one of the key belts for greenstone studies 
and represents a type locality of Palaeoarchaean supracrustal sequences. The Barberton 
greenstone belt consists of a NE–SW striking succession of supracrustal rocks, termed 
the Swaziland Supergroup, which ranges in age from 3.54 to 3.22 Ga (Viljoen and 
Viljoen 1969; de Ronde and de Wit 1994; Lowe and Byerly 2007a). The belt has a 
strike length of ca. 130 km, width of 10–35 km, and an approximate depth of 4–5 km, 
and is surrounded by granitoid domes and intrusive sheets, ranging in age from 3.51 to 
3.10 Ga. The Swaziland Supergroup is subdivided into three stratigraphic units, the 
Onverwacht, Fig Tree and Moodies Groups (Fig. 2). These units have been tightly 
folded into a number of synclines that are separated by anticlines or shear zones. The 
metamorphic grade is greenschist facies, but locally reaches amphibolite facies close 
to the contact with the surrounding granitoid domes that intruded during several 
 episodes of magmatism at ca. 3.45, 3.22, and 3.1 Ga (Kamo and Davis 1994).

2.1  Onverwacht Group

The Onverwacht Group formed between 3.54 and 3.30 Ga (Kröner et al. 1996; Byerly 
et al. 1996) and consists of komatiites, komatiitic basalts, basalts and minor dacites. 
Sedimentary rocks make up less than 10% of the succession and formed in a deep to 
shallow marine environment. South of the Inyoka Fault, the Onverwacht Group has 
been subdivided into six formations, the Sandspruit, Theespruit, Komati, Hooggenoeg, 
Kromberg and Mendon Formations (Viljoen and Viljoen 1969; Lowe and Byerly 
2007a). The Sandspruit and Theespruit Formations are separated from the Komati 
Formation by a fault zone, but the younger units are stratigraphically conformable. 
The Onverwacht Group is best developed and least deformed in the southwestern part 
of the belt northeast of Tjakastad (Fig. 1). Metamorphic grade is mainly greenschist 
facies, but locally reaches amphibolite facies, in particular in the Sandspruit and 
Theespruit Formations. Onverwacht Group rocks north of the Inyoka Fault have been 
grouped together as the Weltevreden Formation (Lowe and Byerly 2007a).
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Fig. 1 Geological map of the southwestern part of the Barberton greenstone belt (Modified from 
Hofmann and Bolhar 2007). TTG, tonalite-trondhjemite-granodiorite

2.2  Fig Tree Group

The 3.26–3.23 Ga Fig Tree Group consists of a several kilometres thick 
 siliciclastic-volcaniclastic sedimentary sequence that is capped by felsic volcanic 
rocks (Condie et al. 1970; Heinrichs 1980; Hofmann 2005; Lowe and Byerly 
2007a). South of the Inyoka Fault, a variety of lithofacies are present that formed 
in deep- to shallow-water to alluvial environments (southern facies). The Loenen 
Formation is a sequence of sandstones and shales that contain abundant felsic 
detritus . It is overlain by ferruginous shales and jaspilitic banded iron formations of 
the Ngwenya Formation. The Mapepe Formation consists of shale, tuffaceous 
shale, laminated felsic tuff, chert-clast conglomerates and, locally, baryte beds. 
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Zircon dates from the Mapepe Formation vary from 3.26 to 3.23 Ma (Kröner et al. 
1991; Byerly et al. 1996). The ca. 3.25 Ga Auber Villiers Formation is approxi-
mately 1.5 km thick and consists of dacitic, plagioclase-phyric volcaniclastic rocks 
and terrigeneous chert-clast conglomerates and sandstones.

In the northern part of the belt, the Fig Tree Group is mainly characterized by 
 turbiditic sandstones and shales of the Ulundi, Sheba and Belvue Road Formations that 
formed in a relatively deep-water environment (northern facies). Kohler and Anhaeusser 
(2002) defined the Bien Venue Formation, which consists of quartz- muscovite schist 
derived from dacitic to rhyodacitic volcaniclastic protoliths dated at ca. 3.25 Ma. 
Subordinate rock types include banded chert, phyllite, and biotite-plagioclase and chlo-
rite schists, derived, in turn, from dacitic and basaltic precursors. Massive sulphide and 
baryte deposits are also present. The Schoongezicht Formation overlies the Belvue 
Road Formation in the central and northwestern part of the greenstone belt. It consists 
of plagioclase-rich turbidites intercalated with shale at the base and cross-bedded 
 volcaniclastic sandstones and dacite clast conglomerates at the top. Intercalated felsic 
volcanic rocks have been dated at 3,226 ± 1 Ma (Kamo and Davis 1994).

2.3  Moodies Group

The Moodies Group was deposited close to 3.227 Ga, but not later than 3.11 Ga 
(Kamo and Davis 1994). It consists of shallow-marine to fluvial sandstone and 
conglomerate with minor shale and banded iron-formation. The Moodies Group is 
approximately 3 km thick and consists of several fining-upward sequences ranging 
from conglomerate or pebbly quartzose sandstone at the base, to a thick sandstone 
unit, to capping siltstone and shale (Anhaeusser 1976).

3  Hydrothermal Systems in the Onverwacht Group

The Onverwacht Group is a thick pile of submarine lava flows that erupted intermit-
tently over a time period of ca. 250 Ma. Breaks in volcanic activity resulted in the 
deposition of thin interflow sedimentary units characterized by predominantly 
 tuffaceous volcaniclastic material. At the same time, hydrothermal processes were 
operating on, and immediately below, the seafloor, leaving behind extensive zones 
of alteration that are mainly characterized by the presence of silicified volcanic 
rocks, bedded cherts, and chert veins.

3.1  Silica Alteration Zones

Silicification of volcanic rocks immediately below sedimentary chert horizons is a 
common phenomenon of Palaeoarchaean volcano-sedimentary successions in  general 
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and the Barberton greenstone belt in particular (Kitajima et al. 2001; Terabayashi 
et al. 2003; Van Kranendonk and Pirajno 2004; Van Kranendonk 2006; Hofmann and 
Wilson 2007; Hofmann and Harris 2008). Because of the high silica content of the 
alteration zones, early workers in the Barberton greenstone belt regarded some of 
these zones to consist of felsic volcanic rocks, which were later shown to be silicified 
mafic and ultramafic rocks (Paris et al. 1985; Lowe and Byerly 1986; Duchac and 
Hanor 1987). The origin of the silicification has been the subject of debate, with 
interpretations ranging from weathering of volcanic flow tops (Lowe and Byerly 
1986) to various processes of hydrothermal alteration (de Wit et al. 1982; Paris et al. 
1985; Duchac and Hanor 1987; Hanor and Duchac 1990; de Wit and Hart 1993).

In order to test competing models for the origin of the alteration zones, 
Hofmann and Harris (2008) investigated several sections of silicified volcanic 
rocks underlying bedded carbonaceous cherts that included most stratigraphic 
units of the Onverwacht Group, ranging from 3.54 to 3.30 Ga in age. These 
authors observed that each and every chert horizon is underlain by rocks that are 
invariably silicified, and locally carbonatised, in zones 10–>50 m thick, irrespec-
tive of their composition. Silicification affected lithologies that range from ultra-
mafic to felsic in composition and include volcanic, volcaniclastic, and epiclastic 
rocks. Carbonate alteration is common in mafic to ultramafic rocks, but also in 
coarse-grained sedimentary rocks (Rouchon et al. 2009). An example of such an 
alteration zone developed in pillow basalt and capped by a thin chert horizon 
from the top of the Hooggenoeg Formation is shown in Figs. 3 and 4. In all altera-
tion zones, the intensity of silicification increases stratigraphically upward 
towards the contact with the chert, showing a gradual increase in SiO

2
 content 

from the original igneous value to ~90%. Enrichment of SiO
2
 is associated with 

a depletion of most other major elements, as monitored by element/Al
2
O

3
 or 

 element/Hf ratios, including Fe
2
O

3
, MnO, MgO, and especially CaO and Na

2
O. 

K
2
O, together with Rb, and Ba, are enriched in these zones. In terms of trace  elements, 
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depletion was observed for some metals (Ni, Co, Cu, Zn), Sr, the heavy rare earth 
elements (REE) and Y, while Eu became enriched. Several alteration zones were 
observed to show zoning, with zones of carbonate alteration present 20–30 m 
below the top.

Hofmann and Harris (2008) observed that d18O values of silicified volcanic 
rocks show a positive linear relationship with silica content and plot between the 
mantle value (ca. 5.7‰) and a d18O value of ca. 18‰ extrapolated for a composi-
tion of 100% SiO

2
. A Si isotope study was reported by Abraham et al. (2007) from 

the same alteration zone shown in Fig. 3. Unsilicified basalts display negative d30Si 
values (−0.15‰ to −0.40‰), similar to average mafic magmatic rocks, whereas 
d30Si for silicified basalts shifts towards more positive values (up to 0.8‰) with 
increasing grade of silicification, with overlying chert displaying the highest Si 
isotope values (up to 1.1‰).

Hofmann and Harris (2008) concluded that the element depletion–enrichment 
patterns and oxygen isotope data indicate low-temperature (ca. 100–150°C) hydro-
thermal processes for the origin of the alteration zones. Diffuse venting over large 

Fig. 4 Features of the upper Hooggenoeg Formation (H5v). (a) Pavement of unaltered 
ocelli-bearing pillow basalt ca. 120 m below the capping chert bed. (b) Silicified and carbonatised 
pillow basalt ca. 20 m below the chert bed. The interpillow space is filled by secondary carbonate. 
(c) Network of carbonaceous chert veins transecting silicified basalt 2 m below the chert bed. 
(d) Photomicrograph (plane polarised light; scale bar is 1 mm) of highly silicified basalt shown in 
c. Large irregular patches consist of microcrystalline quartz and minor carbonate. Former plagio-
clase laths have been completely replaced by an intergrowth of quartz and phyllosilicates
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tracts of ocean floor was envisaged to have given rise to silicification of the volcanic  
rocks and of seafloor sediments to form cherts. The Si isotope variation may be 
attributed to simple mixing of a mafic volcanic and seawater endmember composi-
tion, both of which had values similar to the modern day. Apparent zonations of 
alteration, with silicification at the top and carbonate alteration at depth may be a 
result of differing fluid chemistries with depth. In the deeper part of the alteration 
zones, hydrothermal fluids may have been more alkaline, becoming more acidic 
towards the contact with the likely acidic Archaean ocean due to mixing with 
seawater.

3.2  Bedded Cherts

Bedded chert horizons are typically 1–20 m thick and were deposited on the 
seafloor in between phases of extrusive submarine volcanic activity. With the exception 
of the Komati Formation, bedded cherts are common throughout the Onverwacht 
Group and the lower part of the Fig Tree Group, but are rare to absent in the upper 
Fig Tree and Moodies Groups. They typically consist of microcrystalline quartz 
with minor amounts of phyllosilicates, Fe-Mg-Ca-carbonates, Fe-Mn and Ti-oxide 
minerals, disseminated sulphides and carbonaceous matter. Cherts are highly sili-
ceous rocks (SiO

2
 commonly >95 wt%) that contain clastic or tuffaceous material 

of ultramafic to felsic composition replaced by microquartz. Despite the fact that 
addition of silica has resulted in dilution of most other elements, they have rela-
tively high alkali contents and are enriched in many metals, particularly in Co, Ni, 
and Cu. The d18O values of cherts are somewhat higher than for underlying silici-
fied volcanic rocks and are generally in the range of 15–20‰. The highest d18O 
value yet obtained for cherts of the Barberton greenstone belt is 22.1‰ (Knauth and 
Lowe 2003).

Bedded chert horizons consist of a variety of silicified sediments (Lowe 1999; 
Lowe and Fisher Worrel 1999; Hofmann 2005; Hofmann et al. 2006; Tice and 
Lowe 2006; Hofmann and Bolhar 2007). Silicified volcaniclastic sediments are 
common and include silicified beds of komatiitic ash and accretionary lapilli that 
are typically represented by light green to greenish grey cherts, the colouration due 
to finely dispersed chlorite and Cr-rich sericitic mica (Fig. 5a, b). Laminated cherts 
of various shades of grey to black represent mixtures of volcaniclastic material and 
carbonaceous matter. Carbonaceous cherts include thinly bedded heterolithic rocks 
(black and white banded cherts), and laminated and massive black chert varieties. 
Black and white banded cherts are made up of layers of carbonaceous chert and 
white-weathering translucent chert (Fig. 5c, d). Silicified orthochemical deposits 
include rare silicified evaporites (Fig. 5c), possibly primary sea-floor silica deposits in 
the form of translucent cherts, and banded iron formation and associated ferrugi-
nous rocks. Deposition took place predominantly in a low-energy, sub-wave base 
setting with episodic, high-energy current events during which coarse volcaniclastic  
material and, in rare cases, meteorite impact ejecta were deposited.
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It is generally agreed that silicification took place shortly after deposition of the 
precursor sediment on the seafloor (Lowe 1999), but the mechanism is a matter of 
debate. Many researchers regard the silicification as a direct result of hydrothermal 
processes on the seafloor (de Wit et al. 1982; Paris et al. 1985; Duchac and Hanor 
1987). Hofmann and Harris (2008) suggested silicification being the result of 
diffuse flow of hydrothermal fluids that were also responsible for the silicification 
of the underlying rocks. Others refute the evidence for hydrothermal activity, and 
ascribe the formation of these rocks to marine processes that acted in a hot Archean 
ocean (e.g. Knauth and Lowe 2003; Tice and Lowe 2006). Cherts of the Barberton 
greenstone belt have much lower d18O values relative to Phanerozoic cherts (differ-
ence of ³10‰ on average; Perry 1967; Knauth and Lowe 2003). These signatures 
have been interpreted in various ways, but mainly being the result of one or more 
of the following: (1) lower d18O values of Archaean seawater (Perry 1967; Kasting 
et al. 2006; Jaffres et al. 2007), (2) higher temperatures of the Archaean ocean (ca. 
70°C; Perry 1967; Knauth and Lowe 2003), (3) temperatures of hydrothermal 
fluid–seawater mixtures and not the temperature of the Archaean ocean (Hofmann 
2005; Hofmann and Harris 2008).

Fig. 5 Features of bedded chert. (a) Planar and wavy bedded green chert, consisting predominantly 
of komatiitic ash (Kromberg Formation). (b) Photomicrograph (plane polarised light; scale bar is 
1 mm) of silicified volcaniclastic sandstone with accretionary lapilli and glass shards (Middle 
Marker). (c) Thinly bedded black-and-white chert transected by “evaporite” pseudomorphs (Buck 
Reef Chert). (d) Photomicrograph (plane polarised light; scale bar is 1 mm) of black-and-white 
chert showing lamina rich in carbonaceous grains (Buck Reef Chert)
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If seawater had d18O values as low as −13‰ at 3.4 Ga (Jaffres et al. 2007), this 
would imply that the alteration took place at temperatures of around 20°C. Such 
low temperatures are inconsistent with the geochemical and mineralogical changes 
in the alteration zones that need elevated temperatures to form. The model of a hot 
Archaean ocean, potentially resulting in downward infiltration of hot fluids from 
the seafloor and leading to top down alteration of volcanic rocks, is inconsistent 
with a number of observations that indicate the presence of upwelling hydrothermal 
fluids, such as depletion of metals (Co, Ni and Cu) in subsurface volcanic rocks and 
their relative enrichment in overlying chert (Hofmann 2005; Hofmann and Harris 
2008), and the development of chert veins, regarded as hydraulic fractures beneath 
chert beds necessitating high fluid pressures at times (Hofmann and Bolhar 2007).

3.3  Chert Veins

Veins of carbonaceous chert occur immediately beneath sedimentary chert hori-
zons, transecting underlying silicified volcanic rocks. They are 0.1–3 m wide and 
cross-cut the host rock both perpendicular and sub-parallel to stratification (Fig. 6). 
A detailed field study of chert veins revealed the importance of syndepositional 
hydrothermal activity for their origin (Hofmann and Bolhar 2007). The geometry 
of the chert-filled veins (e.g. the presence of stratiform veins and the branching of 
vertical veins into stratiform ones), multiple vein fillings, in situ brecciation of 
earlier generations of vein fillings, and brecciation of the host rock suggest that they 
represent hydraulic fractures that were initiated by the forceful intrusion of over-
pressured fluids.

Vein and bedded cherts of a single stratigraphic section are petrographically, 
isotopically as well as geochemically very similar. They are all characterized by 
sand-sized carbonaceous grains of apparent detrital origin. The differences between 
several pairs of vein chert and directly overlying bedded chert is <2‰ for C isotopes 
and <1.1‰ for O isotopes. The same applies to REE patterns and trace element 
ratios (Hofmann and Bolhar 2007; Hofmann and Harris 2008). All these observa-
tions suggest a genetic link between the veins and the sedimentary horizons.

While some workers regard chert veins as feeder channels for silicified sedimen-
tary deposits in the Pilbara craton (e.g. Brasier et al. 2002; Van Kranendonk 2006), 
in the Barberton belt they have been regarded to represent fractures that were filled 
with sediment from above (Lowe and Byerly 1986; Hofmann and Bolhar 2007). In 
the model presented by Hofmann and Bolhar (2007), diffuse upflow of hydrothermal 
fluids in a shallow, but laterally very extensive hydrothermal system that was 
 initially open to the ocean is envisaged during deposition of the sedimentary chert 
precursor. This system became temporarily closed during progressive sedimentation 
and hydrothermal silicification of the seafloor sediments that resulted in the bedded 
chert horizons. The cherts acted as a poorly permeable barrier for ascending fluids, 
resulting in the build-up of fluid overpressure and hydraulic fracturing of the 
volcanic  rocks and the cap rocks at times. The hydraulic fractures were filled with 
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sedimentary material from as yet unsilicified sediments overlying the chert for some 
time before the hydraulic system was sealed again and the next cycle of pressure 
build-up and fracturing took place. This eventually resulted in multiple injections of 
fluidized sedimentary material and hydrothermal fluids in cross-cutting veins, partly 
brecciating the host rock and incorporating host rock fragments into the veins.

3.4  Ironstone Pods: Archaean Hydrothermal Systems  
or Products of Recent Weathering

De Wit et al. (1982) and de Ronde et al. (1994) described discontinuous occur-
rences of lens-shaped “pods” of massive, specular haematite and goethite, up to 200 m 
in length, from the contact between Onverwacht komatiites and overlying sedimen-
tary rocks at the base of the Fig Tree Group. One of these pods, which mainly 
consists of haematite (Fig. 7), was interpreted as a Fe-oxide-rich mound and 

Fig. 6 Features of chert veins. (a) Two generations of chert veins cutting across highly silicified 
komatiite of the Mendon Formation. The vein filled with botryoidal chert is sub-parallel to stratifi-
cation in the host rock. (b) Anastomosing chert veins in highly silicified sandstone below the Buck 
Reef Chert. The veins are subparallel to bedding. (c) Chert vein (margins not shown) containing 
fragments of silicified sedimentary host rock in a black chert matrix. Note strong brecciation of the 
fragments due to hydraulic fracturing. (d) Chert vein (note margin to silicified sediment in lower 
left) consisting of several generations of chert forming layers subparallel to the vein margins
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 discharge vent of 90–150°C hot hydrothermal fluids of Archaean age (de Ronde 
et al. 1994). Subsequent studies of the pod included mass spectroscopy that 
revealed a large variety of organic compounds (de Ronde and Ebbesen 1996), 
 suggesting abundant organic productivity associated with the processes that led to 
ironstone pod formation. Fluid inclusion leachates obtained from quartz samples 
associated with the pod (Channer et al. 1997) yielded Br−/Cl− and I−/Cl− ratios 
higher than seawater, which was interpreted as a result of a secular change in ocean 
halide ratios through time. Additional fluid inclusion data on seawater and hydro-
thermal fluid endmember composition were reported by de Ronde et al. (1997).

Lowe and Byerly (2003) studied Fe-oxide-rich deposits at different localities in 
the Barberton greenstone belt, including the ironstone pod described by de Ronde 
et al. (1994). They concluded that the ironstones were deposited on and directly 
below the modern ground surface by active groundwater and spring systems during 
relatively recent (Cenozoic) times. This reinterpretation resulted in some debate in 
the literature (de Ronde et al. 2004; Lowe and Byerly 2004), which has since 
cooled down with additional work published by Lowe and co-workers (Hren et al. 
2006; Lowe and Byerly 2007b).

Debate has centred on the pod originally described by de Ronde et al. (1994) to 
be of Archaean age (Fig. 7). De Ronde et al. (2004) cited the following main argu-
ments for the ancient age of this pod: (1) The pod is regarded to be part of the 
Archaean stratigraphy; it is cut by a porphyry intrusion and clasts derived from 
ironstone pods are present in overlying sedimentary units. (2) It contains rounded 
chert boulders interpreted as talus derived from scarps in the vicinity of the mound. 
(3) Quartz-haematite-goethite stockwork veins are present in the pod. (4) Its haematitic 
composition is unlike low-T spring deposits. Lowe and Byerly (2004, 2007b) 
argued for a recent origin of the ironstone pod, through partial replacement of 
Archaean chert host rocks by Fe-oxide-rich material. These authors based their inter-
pretation on the following main observations: (1) No evidence was found that the pods 
are part of the stratigraphy, as they are not cut by Archaean porphyry or provided 
detritus upon erosion during Archaean times as claimed by de Ronde et al. (1994). 
Instead, they locally observed layering in the pod that dips parallel to the present slope. 
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Fig. 7 Geological map of the ironstone pod locality on Mendon Farm (Modified from Lowe and 
Byerly 2007b). The dip of the strata is subvertical. See Fig. 1 for locality
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(2) Internal chert blocks are not rotated and represent in situ remnants not affected 
by replacement of chert by haematite. (3) The pods do not show evidence for defor-
mation that characterizes the surrounding rocks and contain common open cavities, 
which would not have been preserved up to the present. Lowe and Byerly (2004, 
2007b) further argue that the quartz stockworks represent remnants of Archaean 
quartz veins that were only partially replaced by ironstone.

Our own observations of ironstone pods in the Barberton greenstone belt tend to 
agree with a relatively recent origin of these features. Nevertheless, a large part of the 
work by de Ronde and co-workers was done on fluid inclusions of quartz veins that 
are of undoubted Archaean age. These quartz veins are commonly associated with 
chert veins interpreted to have formed during seafloor hydrothermal activity (Hofmann 
and Bolhar 2007) and may thus still provide evidence for hydrothermal fluid composi-
tion and temperature of an Archaean hydrothermal system. This is in contrast to the 
claim by Lowe and Byerly (2007b) that these features are a result of late-stage hydro-
thermal alteration of the belt (as late as 2.7 Ga). If the haematite-rich ironstone pod is 
a result of relatively recent spring activity, two questions still remain. One issue is the 
predominance of haematite in the pod, which generally only precipitates from rela-
tively high-temperature fluids. This led Lowe and Byerly (2007b) to suggest a hot 
spring origin for the ironstone pod. No hot spring has so far been reported from the 
greenstone succession of the Barberton belt. Another major issue is the source of the 
iron. Lowe and Byerly (2007b) suggest that the iron was likely derived from the weath-
ering of siderite-rich sedimentary units at depth, such as banded iron-formation. This 
is far from proven, and will require further investigations.

3.5  Heat Source for Onverwacht Hydrothermal Activity

Hydrothermal systems consist of two essential components, a heat source and a 
fluid phase (Pirajno 1992). While the fluid phase is most readily attributed to 
seawater circulating through the volcanic pile of the Onverwacht Group, the heat 
source is less easy to define. Most hydrothermal systems operating on the seafloor 
today are driven by heat generated from shallow-level magma chambers, especially 
those developed close to the mid-ocean ridges (Alt 1995). Other heat sources may 
include shallow-level magma chambers, intrusive igneous bodies or volcanic 
complexes associated with volcanic islands, oceanic plateaus and island arcs. 
Crustal sections close to these heat sources may experience extensive alteration 
related to the interaction with actively circulating >350°C hot hydrothermal fluids, 
which may locally discharge on the seafloor through black smokers. Further away 
from these zones fluid temperatures will be much lower, and hydrothermal fluid 
discharge is much more diffuse (Alt 1995; German and von Damm 2003).

Although the Onverwacht Group was deposited in a submarine setting and 
formed mainly as a result of subaquatic deposition of mafic-ultramafic lavas, there 
is no evidence that the volcanic rocks formed close to an Archaean mid-oceanic 
ridge. The lavas accumulated during an extensive period of time far longer than the 
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average life span of modern oceanic crust. The alteration zones are laterally 
 extensive and tabular, bearing no resemblance to the heavily faulted spreading 
 centres along modern mid-ocean ridges. Instead, the Onverwacht Group is charac-
terized by laterally continuous submarine lava flows more akin to large submarine 
shield volcanoes or oceanic plateaus (Cloete 1999; Hofmann and Harris 2008). 
Focused hydrothermal upflow zones in the form of epidosites and black smoker-
type massive sulphides are lacking throughout the Onverwacht Group, suggesting 
diffuse upflow of hydrothermal fluids through the volcanic rocks.

Although there are several sub-volcanic intrusions in the Barberton sequence, 
ranging from ultramafic to felsic in composition, that could have been the heat source 
for the hydrothermal activity, there are many more examples of stratiform alteration 
zones in the Barberton greenstone belt that cannot be directly linked to such intru-
sions. Each volcanic sequence capped by chert is altered at the top, indicating that the 
alteration took place during a time interval of relative volcanic  quiescence, when 
there was enough time for the deposition of finely laminated sediments before the 
onset of the next volcanic episode. Hofmann and Harris (2008) attributed the hydro-
thermal activity to heat derived from cooling of volcanic rocks and a high regional 
heat flow in an oceanic plateau-like setting in the vicinity of a long-lived source of 
hot, upwelling mantle that resulted in the establishment of shallow subseafloor con-
vection cells. Shallow-level igneous intrusions may have provided additional heat, but 
they were not the main factor for elevated heat flow. Extensive silicification was the 
result of diffuse venting of hydrothermal fluids over broad areas of the ancient ocean 
floor, likely aided by seawater chemistry close to silica saturation and thus more 
conducive for widespread silicification (Hofmann and Harris 2008).

3.6  Buck Reef Chert: Deposition During Hydrothermal  
or Normal Marine Conditions?

While most of the Onverwacht cherts can be readily associated with active hydro-
thermal activity during their formation, this may not necessarily be the case for the 
Buck Reef Chert (BRC) for which a hydrothermal influence has been most strongly 
debated. The BRC is an unusually thick (up to 350 m) sequence of predominantly 
black-and-white banded cherts at the contact between the Hooggenoeg and 
Kromberg Formations along the western limb of the Onverwacht Anticline. It over-
lies a shallow intrusive to extrusive sequence (member H6 of Lowe and Byerly 
2007a) of dacitic volcanic rocks, up to 2 km thick, dated at 3.45 Ga (de Wit et al. 
1987; Armstrong et al. 1990; De Vries et al. 2006) and an epiclastic sedimentary unit 
of dacite-derived conglomerates and sandstones. The BRC has been subdivided into 
three facies (Fig. 8; Lowe and Fisher Worrel 1999; Tice and Lowe 2004, 2006): a 
basal evaporitic facies, containing silicified sandstones, chert and pseudomorphs 
after nahcolite; a lower division of platform facies black-and-white banded chert; a 
basin facies of banded ferruginous chert; and an upper division of black-and-white 
banded chert. A variety of fossil-like microstructures have been reported from the 
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BRC (Walsh 1992; Tice and Lowe 2006). A felsic tuff at the base of the BRC has 
been dated at 3,416 ± 5 Ma (Kröner et al. 1991). Along the east limb of the 
Onverwacht Anticline, H6 is represented by a fining-upward sedimentary sequence 
of dacite-clast conglomerate, turbiditic sandstone and shale (Rouchon et al. 2009). 
These rocks are overlain by a sequence of ultramafic lapillistone and pillow basalt 
that are intercalated with several chert horizons that have been correlated with the 
BRC (Lowe and Byerly 2007a).

Debate has centred on the interpretation of the palaeoenvironment. De Vries 
(2004) and de Vries et al. (2006) consider the BRC to be the uppermost silicified 
part of the Buck Ridge volcano-sedimentary complex (BR-vsc), a series of arc-like 
basaltic and felsic volcanic rocks, capped by pervasively silicified sedimentary 
rocks. This complex is believed to be characterized by syndepositional normal 
faulting , which widely controlled felsic magma upwelling and sedimentation. 
De Vries et al. (2006) advocate hydrothermal venting as a common growth-fault related 
 phenomenon directly related to the depositional history of the unit, giving rise to 
features such as chert veins, hydraulic breccia bodies and quartz-filled cavities.
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In contrast, Lowe and Byerly (2007a) regard the BRC to have been deposited on 
a subsiding volcanic platform representing the eroded felsic volcanic edifice of H6 
that was emplaced well before deposition of the BRC. Syn-depositional normal 
faulting was observed to have taken place during deposition of the lower half of the 
BRC (Lowe and Fisher Worrel 1999). Tice and Lowe (2004, 2006) suggested that 
the BRC consists of normal marine sediments that were silicified through interaction 
with hot marine waters supersaturated with amorphous silica and related abundant 
carbonaceous matter to microbial mats in a non-hydrothermal environment.

Hofmann and Bolhar (2007) and Hofmann and Harris (2008) suggested hydro-
thermal activity during deposition of at least the lower part of the BRC (the evapo-
ritic facies). Dacite and dacite-derived clastic sedimentary rocks below and 
interbedded with the evaporitic cherts are highly silicified and show the same 
chemical variations with depth as observed in all the other alteration zone below 
chert horizons. Multiple generations of cross-cutting veins of chert are common in 
the alteration zone. These are both stratiform as well as at a high angle to bedding, 
the latter extending several 100 m below the BRC.

If the evaporitic facies was indeed affected by syn-depositional hydrothermal 
activity, then the chert clast breccias commonly observed in this zone may be attrib-
uted to subsurface dissolution of evaporites by hydrothermal fluids rather than to 
evaporite dissolution in the phreatic zone (Lowe and Fisher Worrel 1999). A study 
of fluid inclusions in quartz veins and quartz-filled cavities by de Vries and Touret 
(2007) from the BRC gave conflicting results, although it pointed towards relatively 
low pressure of ~100 bars for quartz precipitation, in support of a shallow water 
environment and synsedimentary hydrothermal activity.

In addition, the evaporites may not be precipitates from purely marine waters. 
Elongate crystal pseudomorphs interpreted to represent pseudomorphs after nahcolite 
(NaHCO

3
; Lowe and Fisher Worrel 1999) are associated with finely laminated and 

rippled cherts and grew concurrently with deposition of the host sediment. The 
nahcolite crystals have been interpreted as primary evaporitic minerals that grew in a 
hypersaline marine coastal environment with high bicarbonate and sodium contents. 
If the pseudomorphs are indeed former nahcolite and if the BRC was deposited dur-
ing hydrothermal activity, there is a possibility that elevated concentrations of bicar-
bonate and/or sodium are derived from hydrothermal fluids. Alteration in the 
underlying dacite and dacite-derived sediments has resulted in the almost complete 
removal of Na from at least the uppermost 100 m of rock succession (<< 0.1 wt% 
Na

2
O, Hofmann and Harris 2008), as the Na content of the unaltered magmatic rocks 

was likely similar in composition to the genetically related Theespruit Pluton (ca. 7 
wt% Na

2
O, Kleinhanns et al. 2003). It is thus possible that Na was derived from 

syn-depositional hydrothermal fluids. It needs to be emphasized that nahcolite has 
only been observed at the base of the BRC where it overlies altered felsic igneous 
rocks.

Chert veins were not observed cutting across the basal evaporitic facies. This 
may indicate that hydrothermal activity ceased before deposition of the overlying 
cherts or that the evaporitic facies acted as a barrier for ascending hydrothermal 
fluids. Cessation of hydrothermal activity can be attributed to reduced convection 
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of seawater as the basal chert beds would have prevented continuous recharge of 
the hydrothermal system. If this was the case, deposition of cherts higher up in the 
BRC may have been less affected by hydrothermal activity. This may explain the 
abundance of soft-sediment deformation features in black-and-white banded cherts 
above the evaporitic facies (Tice and Lowe 2004), suggesting silicification acted 
more slowly. d18O values for the BRC are amongst the highest values obtained by 
Knauth and Lowe (2003) from the Barberton greenstone belt and range from 
15.7‰ to 21.4‰, which is in line with subdued hydrothermal activity.

If BRC deposition was indeed influenced by hydrothermal activity, then several 
potential heat sources need to be considered. The sill-like dacite intrusion underlying 
the BRC could have been the heat source, but this is unlikely for several reasons. 
(1) The dacite is erosively overlain by dacite-derived sandstones that are silicified at 
the top and may have had sufficiently cooled down prior to subaerial exposure and 
erosion not to have been responsible for the hydrothermal alteration as seen at the 
top. (2) Available age data suggest that the dacite formed long before the BRC was 
deposited (ca. 3.45 versus 3.42 Ga, see above). The heat source could thus have been 
an elevated regional geotherm or renewed volcanic activity that gave rise to the 
overlying volcanic rocks. The BRC is overlain by undated mafic/ultramafic lapilli-
stones and tuffs of the Kromberg Formation, it is cut by abundant ultramafic dykes 
and sills that may be genetically related to the overlying unit, it contains rare layers 
of ultramafic accretionary lapilli, and has been regarded as interleaved laterally with 
mafic and ultramafic rocks (Ransom et al. 1999; Lowe and Byerly 2007a). All these 
observations suggest that mafic/ultramafic magmatism was ongoing during deposi-
tion of the middle to upper part of the BRC. It is very well possible that extensional 
deformation of the sequence was related to this magmatic event.

With the evidence for syndepositional volcanism and potential extensional 
deformation, it is hard to evoke the absence of elevated heatflow and hydrothermal 
activity during BRC deposition. This leads to the evaluation of a possible hydro-
thermal control of the deposition of ferruginous cherts. Ferruginous cherts in the 
BRC are composed mainly of microquartz and goethite, although siderite is 
regarded to be the main iron-bearing mineral at depth (Tice and Lowe 2004, 2006). 
Deposition was regarded to have taken place in a low-energy environment, far 
below storm wave base, from a stratified Archaean ocean consisting of a shallow, 
CO

2
-dominated layer and a deep, iron-rich layer. No hydrothermal influence was 

invoked, partly based on the lateral continuity of the different sedimentary facies, 
including the ferruginous basin facies (Tice and Lowe 2004, 2006). Recent map-
ping has revealed that the ferruginous facies may not be as continuous as previously 
thought (Fig. 9). In the map area, the unit of ferruginous cherts is discontinuous and 
shows changes in thickness along strike, with the maximum thickness being present 
in a lenticular area where rocks are strongly impregnated by goethite. The goethite 
forms layers that locally cross-cut bedding in the cherts and strongly resemble 
ironstone pod-like features described by Lowe and Byerly (2007b) from the BRC. 
Layered goethite was interpreted by these authors to represent precipitates from 
upward-migrating groundwater, with the Fe derived from dissolution of siderite 
bands in the ferruginous chert at depth. While the goethite is clearly secondary and 
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likely relatively young, this does not mean that it could not have been derived from 
weathering of a lenticular body of unusual ferruginous rock at depth, possibly 
including sulphide minerals and derived from seafloor hydrothermal activity. These 
speculations will require subsurface investigations by drilling.

4  Hydrothermal Systems of the Fig Tree Group

The 3.26–3.23 Ga Fig Tree Group is a volcano-sedimentary sequence that is domi-
nated by relatively fine-grained siliciclastic sediments and felsic volcanic and 
volcaniclastic rocks. Carbonaceous cherts are uncommon, but many of the shale 
horizons are rich in carbonaceous matter (Reimer 1975), although reports of micro-
fossil finds have been met with scepticism (Schopf and Walter 1983). Evidence for 
hydrothermal activity during Fig Tree deposition is mainly preserved in the pres-
ence of baryte horizons, a massive sulphide deposit and localized hydrothermal 
alteration of the sedimentary rocks.

4.1  Baryte

Layers of baryte are present at a particular stratigraphic level within the lower Mapepe 
Formation in the central part of the greenstone belt and are well developed in the 
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Baryte Valley Syncline area (Fig. 10) where they can be traced for several kilometres. 
The baryte is considered to be sedimentary in origin and has been studied  by 
Heinrichs and Reimer (1977) and Reimer (1980). Baryte occurs in layers 13 cm 
thick on average (Fig. 11a) that are intercalated with green chert, dolomitic chert, 
chert pebble conglomerate and highly silicified sandstone and grit, all of which 
were deposited under a range of shallow-marine conditions (Lowe and Nocita 
1999). Baryte occurs in three different varieties (Heinrichs and Reimer 1977; 
Reimer 1980). (1) Detrital baryte beds, consisting of slightly rounded baryte grains 
admixed with minor amounts of volcanic quartz, muscovite, pyrite, zircon and 
chromite, and showing cross-lamination (Fig. 11b). (2) Authigenic baryte crystals 
that form cauliflower-like structures locally and that grew at the sediment-water 
interface. (3) Authigenic, coarse baryte blades that replaced detrital baryte and 

N

1 km

Shale, sandstone

Sandstone, conglomerate Moodies Group

Altered komatiite Onverwacht Group

Shale, sandstone (silicified)

Baryte Fig Tree Group

Main Workings

BVS

Fig. 10 Geological map of the Baryte Valley (After Pearton 1986). BVS: Baryte Valley Syncline. 
See Fig. 1 for locality

Fig. 11 (a) Outcrop of bedded detrital barite containing abundant blades of secondary barite 
oriented perpendicular to bedding. (b) Photomicrograph (plane polarised light; scale bar is 1 mm) 
of detrital barite admixed with minor detrital quartz and chromite
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grew as single crystals or bundles after deposition. Bao et al. (2007) reported 
 multiple S and O isotope data from the baryte. No 17O anomaly was observed, while 
the average d18O value is 10.6‰, close to that of the modern seawater sulphate 
value. Values of d34S range narrowly from +3.7 to +6.2‰ while D33S values are 
negative, ranging from −0.69‰ to −0.31‰. Similar values were reported by 
Farquhar et al. (2000) from ca. 3.5 Ga baryte of the Warrawoona Group.

Detrital baryte was interpreted by Heinrichs and Reimer (1977) and Reimer 
(1980) to represent reworked baryte deposits of hydrothermal-exhalative origin. 
Multiple sulphur isotope values, in particular negative D33S values, suggest that the 
sulphate was derived from seawater, and ultimately from photolysis reactions in the 
atmosphere (Bao et al. 2007). Hydrothermal activity may have been roughly con-
temporaneous with baryte reworking and deposition. On the western limb of the 
Baryte Valley Syncline (Fig. 10), baryte beds directly overlie a succession of highly 
silicified shales, now chert, that are transected by numerous chert veins. Baryte 
values are high (>1,000 ppm) in several samples of these rocks (Hofmann 2005; 
Hofmann and Bolhar 2007). At a disused baryte mine (Main Workings, Fig. 10), 
chert and baryte veins and baryte-cemented breccias have been observed in cherts 
underlying the baryte beds (Pearton 1986). This suggests a genetic link between 
chert veins and reworked baryte, i.e. syndepositional hydrothermal activity. 
Horizons consisting of interbedded chert and baryte also occur in the Pilbara cra-
ton, where they are associated with swarms of zoned veins of chert and baryte, 
indicative of a hydrothermal origin (Nijman et al. 1999; Van Kranendonk and 
Pirajno 2004; Van Kranendonk 2006). The timing of baryte deposition in the Fig 
Tree Group is unclear, as dating of the Mapepe Formation in different structural 
domains has yielded conflicting results (Kröner et al. 1991; Byerly et al. 1996).

4.2  Hydrothermally Altered Shales and Sandstones

Shales and greywackes of the southern facies of the Fig Tree Group in the central 
part of the Barberton greenstone belt have been affected by strong alteration, in 
contrast to greywackes of the northern facies (Hofmann 2005). This alteration led 
to similar compositional changes as observed in the silica alteration zones of the 
Onverwacht Group: K, Rb and Ba were added, whereas Mg, Ca, Na and Sr were 
lost (Fig. 12). Palaeoweathering was excluded as a possible source for the altera-
tion due to the restricted occurrence of altered rocks in the central part of the belt 
and low Al

2
O

3
 contents of Fig Tree greywackes and shales, suggestive of a 

palaeoclimate dominated by mechanical, rather than chemical, weathering 
processes.

Because sedimentary baryte deposits are restricted to the central part of the 
greenstone belt where Fig Tree Group sedimentary rocks are highly altered, it is 
possible that this area was a geothermally active zone during Fig Tree times. 
Ba-rich hydrothermal fluids may have ascended mainly during lower Mapepe times 
and resulted, firstly, in local deposits of hydrothermal baryte that were reworked to 
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form detrital baryte beds and, secondly, in the metasomatic alteration of Fig Tree 
strata in hydrothermal upflow zones. Syndepositional alteration may be related to 
the vicinity of the “baryte belt” to a tectonically active zone underlying, and pos-
sibly controlling parts of, the Fig Tree sedimentary basin (e.g. Proto-Inyoka zone 
of Heinrichs and Reimer 1977).

4.3  Bien Venue Massive Sulphide Deposit

The Bien Venue volcanogenic massive sulphide deposit is situated in felsic volcanic 
rocks of the Bien Venue Formation of the northern Fig Tree Group (Fig. 13; Murphy 
1990; Ward 1999; Kohler and Anhaeusser 2002). Host rocks include a variety of 
tightly folded rhyolitic to rhyodacitic pyroclastic rocks, commonly containing quartz 
phenocrysts. The host rocks have been affected by hydrothermal alteration (silicifica-
tion, sericitisation and chloritisation), followed by greenschist facies metamorphism 
and complex deformation, resulting in the formation of quartz-sericite schists. The 
ore body consists of 50–70 m wide, stratabound lenses of massive and disseminated 
sulphides, mainly pyrite, sphalerite and chalcopyrite, with minor galena,  tennantite 
and native silver. The footwall ore is dominated by pyrite and chalcopyrite . Towards the 
hangingwall, sphalerite, galena and baryte become common. This zonation  of the ore 
body is similar to that in the much less deformed VMS deposits from the Strelley belt 
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of the Pilbara craton that formed at almost the same time (e.g. Vearncombe et al. 1995). 
Murphy (1990) suggested that the sulphide  mineralisation formed from Kuroko-type 
sea-floor exhalative activity, based on characteristic  features such as stratabound 
mineralisation, ore zonations and spatial association with felsic volcanic rocks. While 
filamentous microfossils have been reported from cherts associated with the VMS 
deposit of the Strelley belt (Rasmussen 2000), no geobiological studies have so far 
been reported from the Bien Venue deposit.

4.4  Heat Source for Fig Tree Hydrothermal Activity

Felsic volcanic rocks of the Bien Venue Formation have been dated at 3,256 ± 1 Ma 
(Kohler 2003), which is the likely age of the Bien Venue VMS deposit. This is the 
same age as reported for the felsic volcanic Auber Villiers Formation (3,256 ± 4 Ma, 
Kröner et al. 1991; 3,253 ± 2 Ma, Byerly et al. 1996), suggesting a belt-wide event 
of felsic volcanic activity. A similar age has also been reported from dacitic tuffs at 
the base of the Mapepe Fm at one locality (3,258 ± 3 Ma, Byerly et al. 1996), which 
could suggest that at least some of the Mapepe baryte deposits formed at that time. 
The presence of baryte associated with the Bien Venue deposit would fit the interpre-
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Fig. 13 Geological map of the Bien Venue massive sulphide deposit (After Murphy 1990). See 
Fig. 1 for locality
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tation that the Fig Tree Group both north and south of the Inyoka Fault was affected 
by a major hydrothermal event at ca. 3.255 Ga associated with felsic volcanic activity. 
No TTG plutons of this age have so far been identified in the Barberton Greenstone 
belt, although many of the highly sheared felsic rocks in the Bien Venue Formation 
may have originally formed as sub-volcanic sills. Instead there are a number of plu-
tons with an age of 3.23 Ga that formed at the same time as the felsic volcanic rocks 
of the Schoongezicht Formation that forms the uppermost unit of the Fig Tree Group. 
Most authors (e.g. de Ronde and Kamo 2000; Kohler and Anhaeusser 2002; Lowe 
and Byerly 2007a) have interpreted the felsic volcanic activity in the Fig Tree Group 
to be associated with subduction-related magmatism in a continental arc or back-arc 
setting, environments conducive for hydrothermal activity.

5  Implications of Hydrothermal Activity for Early Life  
in the Barberton Greenstone Belt

Evidence for hydrothermal activity is widespread in the Barberton greenstone belt. 
This is not surprising, as the Swaziland Supergroup, with the exception of the 
Moodies Group, consists largely of volcanic and pyroclastic rocks that were 
intruded by TTG plutons and ultramafic layered complexes at several stages in the 
history of the succession. What remains to be answered more fully is how hydro-
thermal activity did affect the life forms that were present at that time and to what 
extent hydrothermal systems and sub-seafloor environments were occupied by 
microbial life. Furthermore, it is important to determine how hydrothermal altera-
tion affected the morphology and composition of remnants of life as preserved in 
Barberton rocks. Research to answer these questions is still in its infancy.

Carbonaceous matter of likely organic origin (Walsh 1992; Westall et al. 2001; 
Tice and Lowe 2006; Glikson et al. 2008) is present in bedded cherts and in chert 
veins of the Onverwacht Group. In which environment this material formed is unre-
solved. If the carbonaceous matter formed in shallow parts of the ocean and repre-
sents background suspension sediments that settled out of the water column, its 
origin would be unrelated to seafloor hydrothermal activity. It is also possible that 
organic matter was produced by photo-/chemosynthetic bacteria close to the 
seafloor. Mat-like accumulations of carbonaceous matter have been described from 
bedded cherts (Westall et al. 2001; Tice and Lowe 2006). If biogenic and of 
chemosynthetic origin, low-temperature hydrothermal activity may thus have been 
conducive to life on the Archaean seafloor.

Alternatively, carbonaceous matter may have formed by subsurface biota that 
inhabited the hydrothermal systems and were deposited on the seafloor during 
hydrothermal effusions. Supporting the idea of a subsurface habitat are tubular 
features described from the rims of pillow basalts from the 3.3 Ga Kromberg 
Formation and interpreted to represent corrosion features by chemolithoautotrophs 
that colonized the originally glassy pillow rims (Furnes et al. 2004). If these 
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 structures are truly biogenic in origin, the microbes must have thrived while hydro-
thermal fluids were circulating the basaltic subseafloor environment.

Although thermophilic organisms may well have occupied the low-temperature 
hydrothermal systems at that time (e.g. Ueno et al. 2004), most of the carbonaceous 
matter present in the chert veins likely originated from the downward flow of 
 sediment-laden seawater from the seafloor and was not produced at depth. This is 
indicated by its ubiquitous presence in subvertical veins extending to the palaeo-
seafloor, but its absence in stratiform chert veins that are commonly filled with 
botryoidal chert precipitate. The latter is interpreted to have formed when the 
hydrothermal system was closed off from the seafloor due to the impermeable chert 
cap (Hofmann and Bolhar 2007). A possible abiological carbon source includes the 
reduction of CO

2
 during serpentinisation of ultramafic rocks at depth (e.g. Horita 

and Berndt 1999) and redistribution of carbonaceous matter during hydrothermal 
venting, although these processes have been discounted to have played a major role 
for the origin of carbonaceous matter in the Barberton greenstone belt (Hofmann 
and Bolhar 2007). However, remobilisation of carbonaceous matter did take place, 
as indicated by its presence as secondary material in pore space and in veins (van 
Zuilen et al. 2007), indicating that morphological interpretations of carbonaceous 
structures need to be conducted with care.

Shales of the Fig Tree Group are rich in carbonaceous material (0.16–1.34 wt% 
TOC; Reimer 1975), which occurs as compacted carbonaceous grains. This mate-
rial has very similar isotopic signatures compared to Onverwacht carbonaceous 
cherts (d13C = −29‰ on average; Hofmann and Bolhar 2007), suggesting that most 
of the carbon must represent material that either formed and was reworked on the 
seafloor or settled out of the water column. A biogenic origin appears most plau-
sible in the absence of a tenable model for the abiogenic origin of carbonaceous 
matter in thick and spatially widespread black shale sequences with light carbon 
isotope signatures comparable to those in younger settings. Carbonaceous matter is 
both present in hydrothermally altered and unaltered shales and throughout the Fig 
Tree Group, suggesting no direct link between life and hydrothermal activity, 
at least during Fig Tree times.
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Abstract The role of clay minerals in the abiotic synthesis of organic molecules 
near seafloor spreading centers was simulated experimentally. Clays are common 
hydrothermal alteration products of volcanic glass and due to their nano-scale 
crystal size, provide extensive and variably charged surfaces that interact with 
aqueous organic species. Volcanic gases H

2
 and CO

2
 have been shown to react on 

magnetite surfaces to form methanol, a primary organic molecule, under hydrother-
mal conditions. Therefore, our experiments simulated the temperature and pressure 
conditions (300°C, 100 MPa) that exist beneath hydrothermal vents, in stockwork 
fractures through which hydrothermal fluids interact with fresh basalt. We exam-
ined the products of reactions between aqueous methanol and three common clay 
minerals found in those environments (montmorillonite, saponite, illite).

Montmorillonite reacted to ~60% illite over 6 weeks, while saponite and illite 
were mineralogically stable. Organic products extracted with dichloromethane from 
the two expandable smectite clays (montmorillonite, saponite) contained a variety of 
complex organic molecules including: alkanes, alkyl-benzenes, alkyl-naphthalenes, 
alkyl-phenols, alkyl-naphthols, alkyl-anthrols, methoxy and alkyl-methoxy-phenols, 
methoxy and alkyl-methoxy-naphthols, and long-chain methyl esters. Experiments 
with the non-expandable illite yielded only traces of alkanes and alkyl-benzene after 
6 weeks. We infer that the interlayer surfaces of smectites provide crystallographic 
sites involved in the organic synthesis of polycyclic aromatic hydrocarbons. The 
largest variety and quantity of organic products was produced from montmorillonite 
as the layer charge increased during conversion to illite.

Keywords Abiotic organic synthesis • Biomolecules • Clay minerals • Smectite  
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1 Introduction

Seafloor hydrothermal systems are environments on the Earth where life may have 
originated (e.g. Corliss et al 1981; Baross and Hoffmann 1985; Shock 1990, 1992; 
Holm 1992; Russell and Hall 1997). This idea is largely based on the phylogenetic 
analysis of thermophilic archaea and bacteria that inhabit seafloor hydrothermal 
systems. Based on 16s RNA sequencing, these microorganisms reside closest to the 
root on the tree of life, and therefore may be closely related to the last common 
ancestor of life on Earth (Woese 1987; Stetter 1996). An obvious question then is: 
If life did begin in a hydrothermal environment, what steps in chemical evolution 
eventually led to functional biomolecules?

Since the onset of seafloor spreading ~3.5 – 4 billion years ago (Burke and Kidd, 
1978), reactants such as CO

2
 and H

2
 have been delivered to hydrothermal systems 

via magmatic/volcanic processes (Delaney et al 1998; Holloway and O’Day 2000). 
These inorganic compounds are able to participate in a number of reactions leading 
to simple organic compounds. The presence of catalytic mineral surfaces facilitates 
organic reactions (Ferris 2005). Previous experimental work has demonstrated the 
synthesis of methanol from CO

2
 and H

2
 in the presence of magnetite (Voglesonger 

et al 2001; Seewald et al 2006). Studies have also shown that numerous organic 
compounds, including acetic acid, can theoretically be created from mixing hydro-
thermal fluid and seawater (Shock 1996; Shock and Schulte 1998). The evidence is 
not limited to carbon compounds; ammonia, a potentially important inorganic reac-
tant in prebiotic chemical evolution, has been experimentally synthesized from 
molecular nitrogen, nitrate and nitrite under seafloor hydrothermal conditions 
(Brandes et al 1998).

These simple compounds (acetic acid, methanol, ammonium) may comprise 
reactants for the synthesis of more complex organic molecules (e.g., amino 
acids, lipids, polycyclic aromatic compounds), given the right conditions for 
reaction progress and compound stability (Benetoli et al 2007). Williams et al., 
(2005) demonstrated that the surfaces of expandable clay minerals can play an 
important role in organic synthesis in nature. Amino acid synthesis under hydro-
thermal conditions has been demonstrated experimentally and theoretically (Fox 
and Windsor 1970; Hennet et al 1992; Yanagawa and Kobayashi 1992; Marshall 
1994; Schulte and Shock 1995; Amend and Shock 1998; Islam et al 2001) and 
clay minerals have been shown to play a role in peptide synthesis (Balogh and 
Laszlo 1983). However, the role of changing oxidation state concurrent with 
mineralogical reactions has not been experimentally evaluated with respect to 
organic synthesis.

The chemical mechanisms for the formation of organic compounds in the pres-
ence of clays under hydrothermal conditions are not well known. Variables of 
importance to the quantity and distribution of organic compounds produced include: 
1) the amounts and types of mineral surfaces that are able to enhance reactivity and 
protect molecules from thermal degradation and 2) the activity of dissolved hydrogen 
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in the fluid phase (oxidation state). Through control of the oxidation state of the 
fluid phase, the activity of dissolved hydrogen determines the relative abundance of 
the different types of organic compounds, and under reducing conditions, may 
stabilize certain organic compounds from thermal degradation (Lewan 1997; Islam 
et al 2001; Seewald 2003).

Williams et al. (2005) showed that some varieties of smectite contribute to the 
abiotic synthesis of aromatic and polycyclic aromatic hydrocarbons (Table 1). 
Previous experiments (McCollom et al., 2001; Rushdi and Simoneit, 2001) 
showed that many organic compounds decompose at 300 ˚C in the absence of 
minerals. However some aqueous organic compounds may be stabilized by H

2
 

from water dissociation (Lewan, 1997). Canfield (2006) speculated that aqueous 
hydrogen activity in the montmorillonite interlayers is higher than in external fluid 
and assists in stabilizing polycyclic aromatic hydrocarbons. Other field (Simoneit 
1993; Cruse et al 2006) and experimental (McCollom et al, 2001) evidence indi-
cates that aromatic structures, once formed, are stable under hydrothermal condi-
tions similar to our experiments.

2 The Primordial Womb Hypothesis

Important organic synthesis reactions occur in contact with clay minerals as a result 
of mineralogical changes that occur under the high T conditions of hydrothermal 
vents. Elemental substitutions occur during illitization of smectite, for example, 
that affect the charge distribution on the 00l surfaces of the silicate, coincident with 
organic complexation on those surfaces. The hypothesis is that the smectite – illite 
reaction at the elevated temperatures common in hydrothermal systems influences 
reactions among simple aqueous organic molecules and favors the production of 
more complex organic compounds that have the potential to be used as building 
blocks for biomolecules.

Williams et al (2005) conducted hydrothermal experiments in which common 
clay minerals (montmorillonite, saponite, and illite) were reacted with aqueous 
methanol at 300˚C and 100MPa. These conditions were chosen to simulate the 
region of alteration beneath seafloor hydrothermal vents (black smokers), where 
hot waters circulate through glassy basalt and clay alteration is pervasive 
(Holloway and O’Day 2000; Giorgetti et al 2001). The experiments (see discus-
sion below) demonstrated that organic synthesis reactions occur coincident with 
mineralogical changes in montmorillonite as this smectite reacts to form illite. The 
minerals that did not change mineralogically (saponite and illite) showed little 
evidence for organic synthesis. In the absence of minerals, methanol was con-
verted to CO

2
, CH

4
, dimethyl ether, and H

2
. This suggests that the expandable clay 

provides important reactive surfaces for the abiotic synthesis of poly-aromatic 
hydrocarbons at high temperatures.



82 L.B. Williams et al.

Ta
bl

e 
1 

Su
m

m
ar

y 
of

 p
ro

du
ct

s 
fr

om
 d

ilu
te

 m
et

ha
no

l r
ea

ct
ed

 w
ith

 c
la

y 
m

in
er

al
s.

 a
) M

aj
or

 p
ro

du
ct

s 
ob

se
rv

ed
 in

 th
e 

qu
en

ch
ed

 g
as

 p
ha

se
 a

nd
, b

) M
in

or
 p

ro
du

ct
s 

ex
tr

ac
te

d 
fr

om
 c

la
ys

 w
ith

 d
ic

hl
or

om
et

ha
ne

 (
re

la
tiv

e 
qu

an
tit

ie
s 

no
rm

al
iz

ed
 to

 h
ex

am
et

hy
lb

en
ze

ne
)

 
 

 
M

on
tm

or
ill

on
ite

Sa
po

ni
te

 
Il

lit
e 

B
la

nk

To
ta

l R
ea

ct
ed

 C
ar

bo
n

 
R

ef
W

ee
k 

1
W

ee
k 

3
W

ee
k 

6
R

ef
W

ee
k 

1
W

ee
k 

3
W

ee
k 

6
R

ef
W

ee
k 

3
W

ee
k 

6
W

ee
k 

3

%
 c

ar
bo

n 
re

ac
te

d 
 

 
11

.1
10

.4
14

.6
 

 
11

.7
10

.3
 

9.
6

10
.3

8.
3

µm
ol

es
 o

rg
an

ic
 p

ro
du

ct
  

(p
os

t-
re

ac
tio

n 
ga

s 
ph

as
e)

5.
6

22
0.

2
20

3.
9

29
1.

3
2.

7
n.

a.
23

3.
3

20
6.

0
3.

3
19

2.
5

20
5.

7
16

5.
0

µm
ol

es
 o

rg
an

ic
 p

ro
du

ct
 

(d
ic

hl
or

om
et

ha
ne

 e
xt

ra
ct

s)
0.

8
4.

3
8.

9
0.

3
0.

4
0.

6
0.

03
0.

0

A
. M

aj
or

 P
ro

du
ct

 (
µm

ol
es

)
M

on
tm

or
ill

on
ite

 
Sa

po
ni

te
Il

lit
e

(q
ue

ch
ed

 g
as

 p
ha

se
)

 
C

on
tr

ol
W

ee
k 

1
W

ee
k 

3
W

ee
k 

6
C

on
tr

ol
W

ee
k 

1
W

ee
k 

3
W

ee
k 

6
C

on
tr

ol
W

ee
k 

3
W

ee
k 

6
B

la
nk

hy
dr

og
en

H
2

 
2.

7
0.

2
0.

04
 

n.
a.

7.
7

8.
2

 
3.

8
6.

5
7.

8
m

et
ha

ne
C

H
4

0.
2

6.
4

25
.0

71
.0

0.
1

n.
a.

3.
8

5.
7

0.
1

1.
5

3.
2

8.
6

ca
rb

on
 d

io
xi

de
C

O
2

5.
4

10
.2

12
.0

20
.8

2.
7

n.
a.

15
.0

14
.6

3.
2

7.
6

9.
4

5.
9

di
m

et
hy

l e
th

er
C

2H
6O

 
20

3.
0

16
4.

3
19

2.
2

 
n.

a.
21

3.
6

18
5.

0
 

18
2.

7
19

2.
4

15
0.

4
O

th
er

 13
C

 p
ro

du
ct

s
C

2-
C

6
0.

6
2.

7
7.

6
 

n.
a.

0.
9

0.
8

 
0.

5
0.

8
 

B
. M

in
or

 P
ro

du
ct

 (
nm

ol
es

)
 

 
 

 
 

 
 

 
 

 
 

 
 

C
al

ib
ra

tio
n 

st
an

da
rd

C
12

H
18

 
 

45
3

2,
70

3
5,

12
8

 
35

15
7

28
1

 
28

25
 

(d
ic

hl
or

om
et

ha
ne

 e
xt

ra
ct

s)
 

 
 

 
 

 
 

n-
al

ky
l-

be
nz

en
es

C
7H

8 
- 

C
14

H
22

 
56

8
3,

60
7

7,
37

4
 

12
5

33
3

48
2

 
34

30
 

n-
al

ky
l-

ph
en

ol
s

C
9H

12
O

 -
 C

11
H

16
O

 
32

49
72

 
54

34
36

 
 

 
n-

al
ky

l-
be

nz
en

ed
io

ls
C

8H
10

O
2

 
34

39
49

 
18

 
 

 
n-

al
ky

l-
m

et
ho

xy
-p

he
no

ls
C

7H
8O

2 
- 

C
9H

12
O

2
 

68
73

10
2

 
63

 
 

 
n-

al
ky

l-
na

ph
th

al
en

es
C

13
H

14
 -

 C
18

H
24

 
58

35
7

94
9

 
32

28
45

 
 

 
n-

al
ky

l-
na

ph
th

ol
s

C
14

H
16

O
 -

 C
16

H
20

O
 

21
43

84
 

 
 

 
n-

al
ky

l-
m

et
ho

xy
-n

ap
ht

ho
ls

C
12

H
12

O
2 

- 
C

16
H

20
O

2
 

24
12

0
21

6
 

 
 

 



83Birth of Biomolecules from the Warm Wet Sheets of Clays Near Spreading Centers

n-
al

ky
l-

an
th

ro
ls

C
16

H
14

O
 -

 C
17

H
16

O
 

19
34

61
 

 
 

 
SU

M
 A

L
IP

H
A

T
IC

 
E

X
T

R
A

C
T

C
12

 -
 C

20
 

18
19

49
 

32
5

4
 

21
 

 

SU
M

 A
R

O
M

A
T

IC
 

E
X

T
R

A
C

T
C

7 
- 

C
18

 
82

5
4,

32
1

8,
90

7
 

29
4

39
5

56
3

 
34

 
 

C
on

tr
ol

 =
 c

la
y 

+
 w

at
er

 (
3 

w
ks

)
B

la
nk

 =
 m

et
ha

no
l +

 w
at

er
 (

3 
w

ks
)

n.
a.

=
no

t a
na

ly
ze

d 



84 L.B. Williams et al.

3 Background

3.1 Organic Geochemistry

Experimental work on carbon chemistry has shown that organic molecules containing 
up to thirty-five carbon atoms (C

35
), including alcohols, carboxylic acids, esters, 

aldehydes, ketones, alkanes and alkenes, can be produced by abiotic reactions 
under conditions that simulate seafloor hydrothermal systems (McCollom et al 
1999, 2001; Rushdi and Simoneit 2001). Other researchers have shown that impor-
tant biomolecules such as amino acids can be synthesized under P-T conditions 
similar to those found in hydrothermal vents but only using reactants at much 
higher concentrations than are generally found in nature (Yanagawa and Kobayashi 
1992; Zamaraev et al 1997; Imai et al 1999; McCollom et al 1999; Ogasawara et al 
2000; Ogata et al 2000; Washington 2000; Rushdi and Simoneit 2001; Alargov 
et al 2002; Tsukahara et al 2002; Yokoyama et al 2003). At the critical point for H

2
O 

(374°C and 21.8 MPa) the dissociation constant of water (K
w
) increases by 103 over 

standard conditions (25 ºC, 0.1 MPa) giving increased concentrations of H+ and 
OH- that can participate in acid- and base-catalyzed reactions. In addition, at ele-
vated T and P, the dielectric constant for water drops from roughly 80 to ~20, still 
high enough to dissolve ionic species, but low enough to dissolved many organic 
compounds, including hydrocarbons (Eckert et al 2004; Kruse and Dinjus 2007b). 
In summary, water is a much better solvent for organic compounds at high T and P 
and under these conditions becomes an effective medium for acid-base catalyzed 
reactions (Simoneit 1995; Savage 1999). Seafloor hydrothermal fluid temperatures 
approach and can exceed 374 ºC; it is thus entirely likely that organic reactions, 
which cannot proceed at 25ºC and 0.1MPa, may become quite favorable. A number 
of reactions have been demonstrated in hydrothermal experiments including dehy-
drogenation, hydration/ dehydration, carboxylation/ decarboxylation, and amina-
tion/ deamination (An et al 1997; Savage 1999; Seewald 2001; McCollom and 
Seewald 2001, 2003a, 2003b; Siskin and Kitritzky 2001; Katritzky et al 2001; 
Akiya and Savage 2002). Mineral surfaces found in seafloor hydrothermal systems 
have been shown to be effective catalysts that promote organic reactions as well 
(Voglesonger et al 2001; Cody et al 2000, 2004). Nonetheless, many of the organic 
molecules formed are not stable at high-temperatures and will decompose with time 
in hydrothermal fluids (Huber and Wachtershauser 1997; Andersson and Holm 
2000; Rushdi and Simoneit 2001) unless protected (Williams et al 2005) or trans-
ported to more favorable conditions for stability such as cooler fluids, or more 
reducing environments (Islam et al 2001).

To date, the potential for abiotic organic synthesis has been evaluated from an 
energetic standpoint (Shock 1990a, 1992; Shock and Schulte 1998; Schoonen et al 
1999), experimental work (Simoneit, 1992; McCollom et al., 1999, 2001) and field 
investigations (Sherwood-Lollar 2008; Proskurowski et al, 2008). Thermodynamic 
calculations have shown that reactions leading to compounds such as aldehydes, 
ketones, carboxylic acids, alcohols, and amino acids are energetically favorable at 
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seafloor hydrothermal conditions. In mixing calculations, the amounts and types of 
organic compounds produced is dependent on the activity of dissolved hydrogen 
and therefore, oxidation state. Thermodynamic calculations for amino acid synthe-
sis (Shock and Schulte 1990, 1998; Amend and Shock 1998) indicate that forma-
tion reactions for 11 out of the 20 essential amino acids are energetically favored 
under the hydrothermal conditions that support growth of hyper-thermophilic 
microbes. However, these calculations also suggest that a wide-range of physical-
chemical conditions (T, P, pH, oxidation state) is required for stabilizing the various 
organic compounds needed for biosynthesis. An ideal geochemical environment for 
production of the full gamut of biomolecules needed for living organisms would be 
a chemical gradient that covers the entire range in various energy requirements 
(Russel and Hall 1997; Washington 2000). The seafloor hydrothermal environment 
provides the diverse conditions required for energetically favored reactions and 
protective environments that may produce and stabilize the compounds of life: 
proteins, carbohydrates, lipids and nucleic acids.

3.2 Clay Minerals

Smectite is a group of expandable, layered-silicates (Fig. 1) with fundamental units 
of two tetrahedral silicate layers sandwiching an octahedral layer. Smectites with Fe 
and Mg-rich compositions (Fe-smectite, saponite, beidellite, chlorite) are common 
alteration products of olivine, pyroxene and basaltic glass, all of which are found in 
seafloor hydrothermal systems (e.g., Koyama et al., 1973; Staudigal et al., 1981; 
Staudigal and Hart, 1983; McMurty et al., 1983; Alt and Honnorez, 1984; Alt et al., 
1986; Haymon and Kastner, 1986; Deccarreau et al., 1987; Howard and Fisk, 1988; 
Desprairies et al., 1989; Munier, 1994; Pilcher et al., 1999; Munier et al., 2008; 
Dekov et al., 2008). Smectites are expandable because they have a low silicate layer 
charge (– 0.2 to – 0.6 electrostatic units (esu); Moore and Reynolds 1997), that 
allows the interlayer tetrahedral surface to expand, attracting H

2
O, cations and polar 

organic compounds. Binding in the interlayer can occur via hydrogen bonds between 
organic compounds and the hydration spheres of interlayer cations, ion – dipole 
interactions between cations and polar functional groups, or through electrostatic 
(van der Waals) interactions. Uncharged polar compounds can also enter the inter-
layer without displacing cations (MacEwan 1944). Metal cations in the interlayer 
can enhance binding of organic anions because they can interact simultaneously with 
the organic compound and the clay surface (Ferris et al 1996).

When smectite interlayers expand, the interlayer cations can be exchanged, thus 
smectites have a higher cation exchange capacity (CEC) than clay minerals that do 
not expand (e.g. illite, chlorite). The non-expandable clay minerals have a higher 
layer charge than smectite (– 0.8 esu), and this charge is compensated, for example 
by K+ (in illite) that substitutes in the interlayer. The particular mineral formed 
depends on the chemical substitutions in the silicate framework, the interlayer species 
that compensate the charge, and environmental conditions.
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Smectites are a minor component of the minerals found in seafloor hydrothermal 
systems (formed by alteration of volcanic glass), but they have very high surface 
areas (~700 m2/g) and they become highly reactive as the smectite recrystallizes to 
more stable phases such as illite or chlorite at elevated temperatures (Whitney and 
Northrup 1988). At temperatures and pressures typical of seafloor hydrothermal 
vents (ca. 300˚C, 25 MPa), simple organic compounds produced by Fischer-
Tropsch type (FTT) synthesis (Anderson 1984) may form, coincident with clay 
mineral recrystallization. Many small organic molecules are adsorbed in the inter-
layer of smectites and as the mineral recrystallizes, electrochemical variations over 
the extensive surface area of the clay (primarily the interlayer surfaces) may pro-
vide a template of variable surface energy that may promote organic synthesis 
(Williams et al 2005).

At elevated temperatures (300˚C), smectite is unstable and dissolves layer by 
layer to form more stable non-expandable clays (Srodon 2000). Reaction progress 
leads to progressive ordering from randomly ordered (R0) unit cells of the unsta-
ble smectite, to ‘nearest neighbor’ ordering (R1) and eventually to long range 
ordering (R3) where the non-expandable mineral dominates (e.g., three illite lay-
ers surround each smectite layer). In terms of the mineral surfaces, the most dra-
matic electrochemical changes occur during R1-ordering as the magnitude of the 
charge imbalance is greatest during this highly reactive stage. Charge imbalance 
across the unit cell occurs as cations (Al3+, Fe2+, 3+ and Mg2+) substitute in the 
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Fig. 1 Schematic cross section of a smectite showing the structural units (triangles = tetrahedral 
(T); rectangles = octahedral (O)). The interlayer region (blue) may contain water, cations and 
organic molecules
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tetrahedral or octahedral sites of the silicate framework. This gives rise to a nega-
tive charge on the basal tetrahedral surfaces of the clay (Fig. 1), usually compen-
sated by adsorption of cations in the interlayer. Eventual collapse of the interlayer 
(due to high layer charge attraction) results in expulsion of electrochemically 
incompatible molecules previously held within the interlayer. Important reactive 
sites on the clay mineral surfaces include: (1) Neutral siloxane surface (acts like a 
weak Lewis base; largely hydrophobic); (2) Charged surface (due to cation substi-
tutions in the tetrahedral or octahedral sheets); (3) Metal cation exchange sites; (4) 
Polarized waters of hydration; (5) Broken edge sites where positive charges may 
attract anions (Johnston, 1996).

The neutral interlayer surfaces of smectite are initially hydrophobic, due to the 
absence of Coulombic forces (Cowan and White 1958). Metal cations are attracted 
to the negatively charged surface, and can bond to specific sites (Fig. 2), which can 
modify the forces of attraction at the mineral surface. Vibrational spectroscopy 
indicates that polarized water molecules surround metal cations and function as 
sites of surface Brønsted acidity (Johnston, 1996). The acidity of the surface can be 
much greater (pH~2) than the solution pH (Mortland 1970; Pinnavaia and Mortland 
1986); therefore protons can be donated to adjacent organic solutes or participate 
in surface reactions. Free water in the interlayer decreases as the total layer charge 
of the mineral increases, thus dehydration of the smectite interlayer is important to 
condensation reactions that promote organic synthesis (Thomas 1982). The charge 
density on the basal siloxane surfaces depends on whether substitutions occur in the 
tetrahedral or octahedral sheets of the silicate framework (Fig. 3). Tetrahedral 
substitutions increase the charge density of the basal siloxane surface more than 

Basal siloxane surface
(tetrahedral SiO4)

Metal exchange
cations

Hydration
water

Fig. 2 Basal siloxane surface is neutral until isomorphic substitution in the silicate layers cause 
attraction of hydrated metal cations to Bronsted acid sites (modified from Johnston 1996)
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octahedral substitutions. The magnitude of the total layer charge continually 
increases during illitization, limiting the expansion of the interlayer region and 
eventually restricting the size of organic molecules that can fit into the interlayer. 
The siloxane surface plays a critical role, increasing the surface Lewis acidity of the 
metal cations, promoting single electron transfer reactions, and stabilizing organic 
radical cations (Mortland and Raman 1968).

Bernal (1951) first proposed that clay minerals might act as substrates to adsorb 
and concentrate amino acids and nucleotides. Cairns-Smith further developed the 
hypothesis (2001, 2005) and reviewed the extensive research on clay minerals and 
the origin of life from 1980 through the turn of the 21st century. Industrial research 
primarily focuses on designing clay surfaces to promote a desired organic synthesis 
pathway (e.g., Ballantine et al 1981, Pinnavaia 1983; Ferris et al 1996; Bujdak and 
Rode 1999; Varma 2002), depending on the reactants and temperature. However, 
the mechanism(s) for these clay-organic complexation reactions are poorly 
understood.

From a geochemical viewpoint, the changes in charge density and magnitude 
across the clay surface is of fundamental importance in driving organic reactions. 
For example, Porter et al., (2000) reacted amino acids and activated nucleotides with 
Cu-saturated smectite subjected to cyclic wetting/drying, to produce short peptides 
and oligonucleotides. Because wetting and drying of smectite promotes illitization 
(Eberl et al 1986), the production of biomolecules reported by Porter et al (2000) 
may have been influenced by the silicate-promoted reaction (Williams et al 2005).

In summary, the basal siloxane surfaces of clay minerals represent multi-func-
tional locations for organic synthesis reactions that are dictated by silicate structural 
changes resulting from recrystallization. Specific reactions include dehydration of 
alcohols, hydrolysis affected by Brønsted acidity and the hydration state of the clay, 
oxidation of various aromatic molecules to form radical cations, oligomerization and 
polymerization (Soma and Soma 1989; Balogh and Laszlo 1993; Varma 2002).

Mg2+ Š> Al3+

Al3+ Š> Si4+

Al3+ Š> Si4+

Delocalized charge distribution

Localized charge distribution

Isomorphic
substitution in
the octahedral

layer

Isomorphic
substitution in

the tetrahedral
layer

Fig. 3 Edge view of smectite showing the effect of isomorphic substitution in tetrahedral versus 
octahedral sites on charge distribution (modified from Johnston 1996)
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3.3 Natural Clays in Hydrothermal Systems

Smectite is observed in natural hydrothermal vents (Alt and Jiang 1991) and the discovery 
of a large (10 kg) deposit of saponite (trioctahedral Mg-smectite) in a black smoker 
chimney (Kelley et al 2002) indicates that clays are entrained by hydrothermal fluids, 
providing a mechanism for transport from high temperature, low pH, reducing condi-
tions to lower temperature, higher pH, more oxidizing conditions. The latter state is 
conducive to end-stage oligomerization reactions (Ertem and Ferris 1998). Hydrothermal 
experiments that simulate seafloor hydrothermal smokers (Holloway 1997; Holloway 
and O’Day 2000) have shown that vent fluid compositions can be reproduced by reacting 
seawater with basaltic glass at 300°C, coincident with alteration of glass to smectite.

The oxidation states of fluids and clays will influence the particular chemical 
substitutions that occur in the silicate framework (e.g., Fe2+ for Fe3+ substitutions), and 
therefore influence the rate of illitization. While aqueous organic reactions may occur 
on time scales of minutes to days, clay mineral recrystallization occurs over times-
cales on the order of months, at 300˚C. Therefore one would expect differences 
between the reactions of organics in solution and those adsorbed onto clay surfaces.

4  Experimental Design for Evaluating the Role of Clay  
in Biosynthesis Reactions

Three typical clay minerals found in seafloor hydrothermal environment (montmoril-
lonite, saponite and illite) were reacted with aqueous methanol as the sole source of 
carbon, under conditions that mimic the hydrothermal environment temperature and 
pressure (300 ˚C and 100 MPa). Our approach to evaluating the role of clay minerals 
in the process of biosynthesis reactions initially requires a simplified experimental 
system. We did not attempt to simulate all of the chemical components of a seawater/
hydrothermal fluid system because the complexity would be too great to evaluate the 
role of each component. As a starting point, we examined only three types of clay 
minerals (a di-and tri-octahedral smectite and illite) as representatives of the common 
clay structures found in hydrothermally altered volcanics. The fluid composition was 
limited to distilled-deionized water plus methanol (the effect of ionic strength on the 
process has not yet been evaluated). Furthermore, the concentration of methanol used 
in the experiments (2098 µmoles C) was greater than has been observed in natural 
hydrothermal fluids (Voglesonger et al., 2006) in order to assure that major products 
could be detected. The effect of more dilute C fluids on the reaction path has not been 
tested, but the role of the clay surfaces is likely to be consistent. Therefore our experi-
ments were designed to answer the following questions:

 1) Does methanol react to form more complex organic compounds in the presence 
of clay minerals?

 2) Is methanol, a known product of a reaction between CO
2
 and H

2
 on magnetite 

(Voglesonger et al 2001), stable in the absence of the metal oxide?
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 3) Do organic synthesis reactions that take place in the smectite interlayer differ 
from reactions on the exterior or edge surfaces of clay minerals?

 4) Do the organic products change with time in response to changes in the clay 
mineral structure and surface energy distribution?

Three sets of hydrothermal experiments were conducted over 6 weeks at 300˚C, 
100 MPa, in sealed gold capsules. Reactants were prepared by separation of 
<0.2µm size fraction of standard clay minerals and saturation with K+ ions. This 
step removes the natural interlayer cations as a variable, and promotes illitization 
(Whitney and Northrup 1988). The presence of natural organic compounds already 
existing on the clay surfaces was examined by gas chromatography (GC) using 
dichloromethane (DCM) extracts from the clays prior to the experiments. No 
organic compounds were detected, however Fourier transform infrared (FT-IR) 
analysis of the clay showed a trace amount (<1 wt.%) of carbonate.

Two common smectite minerals (montmorillonite and saponite) that display dif-
ferent rates of recrystallization under the experimental conditions were studied (Fig 4.). 
Illite, which is non-expandable and stable under the experimental conditions, was 
used as a control to determine what organic products could be produced on a clay 
mineral without accessible interlayer surfaces and only exterior surfaces. Each clay 
mineral was reacted with equal amounts (by weight) of 25% aqueous 13C-labeled 
methanol. The 13C-label allowed us to distinguish products synthesized using the 
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Fig. 4 Mineralogical reaction for clays used in our pilot study show no change in the expandability 
of saponite (>90% expandable) or illite (<5% expandable), however montmorillonite changes with 
time from >95% to only ~40% expandable
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methanol as a carbon sourse from products derived from contaminant organic carbon 
or carbonate. The products were examined after 1, 3 and 6 weeks of reaction.

4.1 Experimental Methods

Reactants (clay, methanol, water) were sealed in sterilized and annealed Au cap-
sules. Mineral reactants included a dioctahedral montmorillonite (SWy-1) and illite 
(IMt-1) from the Clay Minerals Repository (Purdue University, Indiana USA) and 
a triocthedral saponite from the Amargosa Desert (Eberl et al 1978). The smectites 
were K-saturated, dialyzed to remove Cl, and dried at 60˚C following standard 
procedures for cation exchange of clays (Jackson 1979).

Gold tubing (5 mm outer diameter x 0.12 mm wall thickness) used for reaction 
capsules was pretreated in concentrated bleach, rinsed in deionized water, and heated 
at 500 °C for >12 hours in air to remove any organic contaminants. Tubing was then 
quenched, cut and one end of each tube arc-welded to form capsules ~30 mm in 
length. Duplicate capsules were loaded for reaction with 200 mg of dried, powdered 
clay and an equal mass of 10.4 M isotopically-labeled (13C) methanol solution (2098  
mmol carbon). Loaded capsules were chilled in liquid nitrogen to prevent loss of 
methanol, and arc-welded to seal the open end. They were then weighed, heated at 
100°C for 10 min, and re-weighed to test for leakage. Additionally, blank capsules 
containing aqueous methanol without clay, as well as controls (clay/water mixtures 
without methanol) were run in parallel with the experimental samples.

Reaction capsules were pressurized in a hydrothermal pressure vessel consisting 
of a cold-sealed stainless steel tube (38mm outer diameter x 508 mm length) closed 
with a Teflon Bridgeman seal. Distilled H

2
O was the pressurizing medium. The 

vessel was heated using a Lindberg three-zone clamshell furnace. Temperature was 
measured inside the vessel in the region of the capsules using internal inconel-
sheathed, chromel/alumel thermocouples, placed at each end of the gold capsules. 
Temperature variance along the length of the capsules was <5°C. Samples were 
reacted for times ranging from 7 to 42 days at 300 ± 5 °C and 100 ± 1 MPa. After 
specified reaction times vessels were removed from the furnace and quenched in 
ice-water, cooling from 300°C to 20°C in less than 2 min, at which time pressure 
was released slowly to avoid bursting capsules. At each time interval, a capsule was 
removed from the pressure vessel, dried, and weighed to check for leakage.

4.2 Analytical Methods

4.2.1 Organic

After removing the capsules from the vessel and weighing, each capsule was imme-
diately placed in rubber-stopper-sealed 10 ml glass vial that was then evacuated to 
0.003 Pa. After evacuation of the vials, the capsules were pierced with a needle 
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inserted through the rubber stopper to release gaseous products. Analysis of the 
volatiles was performed on a Varian CP-3800 GC equipped with a thermal conduc-
tivity detector (TCD) and a flame ionization detector (FID), using a Supelco SPB-
1000 capillary column. GC operating parameters were as follows: the initial 
temperature was held at 100 °C for 3 min, a temperature ramp was applied (10 °C/
min up to 180 °C) and then temperature was held at 180ºC for 14 min. Helium was 
used as carrier gas with a total flow of 30 ml/min. The injector temperature was set 
to 175 °C, the TC detector was set at 230 °C, and the FI detector was set at 275 °C. 
Peak identifications were confirmed via injections of primary standards.

Immediately following the GC analysis, the reacted clay samples remaining 
in the capsules were transferred to 1.5 ml silanized glass vials in which non-
volatile reaction products were extracted with 1 ml dichloromethane (DCM) for 
at least 20 hours at room temperature. Analysis of non-volatiles was performed 
by gas chromatography-mass spectrometry (GC-MS) on a Shimadzu GC-17A 
GC using a J&W Scientific DB-5MS fused silica capillary column coupled to a 
Shimadzu GC-MS-QP5000 quadrapole MS. The GC operating parameters in 
2X split mode were as follows: the column was held isothermally at 65 °C for 
2 min, temperature was increased at 6 °C/min from 65 °C to 190 °C, and then 
increased further from 190 to 250 °C at 10 °C/min, using a helium carrier gas 
with a total flow of 8.4 ml/min. Injector temperature and interface temperatures 
were set to 300 °C. The quadrupole MS method used linear scanning from 
45-330 atomic mass units (amu), with a scan rate of 0.1 sec/scan, in electron 
impact ionization mode.

4.2.2 Mineral

After the minerals were extracted, the cations were exchanged with K+ and approxi-
mately 60 mg of clay was used to make oriented mounts for mineral X-ray diffrac-
tion (XRD). Ethylene glycol was used to expand the smectite interlayers for 
determining the % expandable clay, which is one measure of reaction progress. The 
characterization of mixed-layered clay minerals is described in Moore and Reynolds 
(1997). The analyses were performed using a Siemens D5000 spectrophotometer 
with CuKa radiation.

5 Results

Of the total amount of C supplied, 15% was converted to complex organic com-
pounds by montmorillonite after 5 weeks (Williams et al 2005). Reaction with illite 
produced the same compounds observed in the experimental blanks (methanol 
reacted without clay). The most compelling result of this study was the production 
of small but increasing quantities of aromatic and polycyclic aromatic organic 
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compounds with both of the smectite-type clays, but not with illite (Table 1). This 
suggests that the most important reactive sites are on the interlayer surfaces of the 
smectite. All aromatic and polycyclic aromatic hydrocarbons formed were 13C 
labeled. However, a small amount of alkanes (<10%) contained 12C, indicating a 
source other than the reactant methanol. Methyl esters extracted from both smec-
tites were predominantly 12C with a 13C functional methyl group. It is likely that the 
source of 12C for the alkanes was the inorganic carbon in the starting material 
(Canfield 2006).

The increase in organic product complexity with illitization of montmorillonite 
corresponds with the increasing silicate layer charge, increasing cation exchange, 
and with changes in charge density during illitization. The classes of organic com-
pounds formed with saponite are similar to those observed with montmorillonite. 
However, saponite is non-reactive (metastable) under these experimental conditions 
(Eberl et al 1976) and the quantities of organics produced are generally smaller. 
Only the continuous smectite to illite transition resulted in consistently increasing 
amounts of complex hydrocarbons. Also interesting was the gas phase products in 
these experiments (H

2
, CO

2
, and CH

4
). The molecular hydrogen recovered in the 

quenched gas phase for experiments where methanol was reacted with illite, 
saponite, and montmorillonite minerals, and water alone (blank) is shown in Fig. 5. 
The reaction with montmorillonite shows an initial increase in hydrogen, but as 
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the mineral begins to change structurally, hydrogen becomes depleted, perhaps 
owing to its use in organic synthesis. The decrease in hydrogen corresponds with 
the increase in organic compound concentrations listed in Table 1. This is not 
reflected in the reactions with illite or saponite, where hydrogen accumulates in the 
absence of the mineralogical reaction during degradation of methanol. Saponite 
incorporates Mg rather than Al in the octahedral layers, and since we did not supply 
Mg, the reaction may have been supply limited. This is an example of a variable 
that might affect clay surfaces and organic syntheses in nature. Nonetheless, natural 
saponite will eventually go through recrystallization to chlorite in a mixed-layered 
sequence analogous to I-S (Chang et al 1986) and we would expect analogous 
organic syntheses.

5.1 Summary of Experimental Results

 1. Without clay minerals, methanol decomposes to CH
4
, CO

2
, H

2
, and dimethyl ether.

 2. In the presence of montmorillonite, increasingly abundant and complex produc-
tion of organic molecules over time reflect organic synthesis on the interlayer 
surfaces in response to mineralogical changes.

 3. The smectite interlayer surfaces promote synthesis of organic complexes unlike 
those promoted by exterior surfaces (demonstrated by lack of similar products 
with illite).

 4. Organic synthesis in hydrothermal systems is significantly influenced by changes 
in clay mineral structure and must be studied on appropriate temporal and spatial 
scales.

 5. Many of the organic products of reaction with montmorillonite are not stable in the 
absence of the clay at the pressure and temperature at which they were produced.

6 Discussion

The observed reaction products are numerous and extremely varied in abundance, 
however by categorizing the products according to the processes by which they 
formed it may be possible to evaluate some reaction pathways. Early stage reactions 
involving the formation of light alkanes and alkenes, carbon dioxide, and dimethyl 
ether were all observed in the control samples incubated with no clay minerals; 
however, because the abundance of these products was greater in the presence of 
montmorillonite, it is likely that the clay increased the reaction rates. 

McCollom et al (1999) suggested that under hydrothermal conditions mont-
morillonite may not be a classical catalyst, but rather may act primarily to absorb 
and thus remove products from the aqueous solution, driving the organic reaction 
to the product side. While clay absorption may help to explain the effect of the clay 
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minerals on the early stage reactions, late stage reactions involving the formation 
and modification of aromatic moieties appear to require interaction with the mont-
morillonite surface as it undergoes an increase in layer charge during illitization.

6.1  Thermodynamic Analysis of the Hydrothermal Organic 
Synthesis Experiment

Thermodynamic calculations can be used to constrain the range of conditions pro-
vided within the clay interlayers (instead of the bulk solvent) that favor the transfor-
mation of aqueous methanol to the observed products. This can be done by first 
defining the basis species of the system as CO

2
, H

2
O and H

2 (aq)
. Using aqueous 

standard-state designations for the volatile compounds permits calculating equiva-
lent concentrations (molalities) of these species in the known amount of solvent, 
while calculation of fugacities associated with a gaseous standard-state designation 
would be more problematic because the pressure of gas in the capsule is not known. 
In the experiments, methanol is consumed and toluene is formed (Table 1). The 
overall transformation of methanol to toluene can be written as 

 ( ) ( ) ( )7 2aq 8 aq 2 aq37CH H C H 7H O + 3HO → +  (1)

which conserves carbon. Reaction 1 and others like it do not represent the mecha-
nisms of the organic transformations but rather provide a foundation for assessing 
the change in energy in the system as a result of the overall reactions. The change in 
energy is expressed in terms of the chemical affinity (A), which is given by 

 2.303 ( / )A RT log K Q=  (2)

where K stands for the equilibrium constant and Q denotes the activity product of 
the reaction, i

i

v
aQ = ∏ (where ai and ni stand for the activity and the reaction 

coefficient of the ith species). At 300˚ C and 100MPa, log K for Reaction 1 is equal 
to 22.4. This value was obtained using the revised HKF equations of state (Tanger 
and Helgeson 1988; Shock and Helgeson 1990; Shock et al 1992) together with data 
given by (Amend and Helgeson 1997). In order to calculate the log Q of Reaction 1, 
it is necessary to turn to the experimental concentrations of methanol and the analyti-
cal results for toluene and hydrogen. If we take in a first approximation activity 
coefficients of unity, the log a of methanol is 1.02 when the starting concentration is 
10.4m. Note that the 10.4m methanol solution was prepared using 2098 µmol of 
methanol; accordingly an upper limit for the molality of toluene at the end of Week 
1 in the montmorillonite experiment (Table 1) is 568 * 10.4 / 2098 = 2.8, or log 
a = 0.45. Likewise, an upper limit for the activity of H

2
 (aq) (assuming that the 

amount present in the quenched gas phase was entirely dissolved at high temperature 
and pressure) is 0.8 * 10.4 / 2098 = 4.0 × 10-3, or log a = −2.4. Combining these values 
with log a H

2
O = 0 gives log Q = −13.9, which is less than the value of log K, so the 
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chemical affinity of Reaction 1 is positive under these conditions. Because the activi-
ties of toluene and H

2
 (aq) used in these calculations are upper limits, the actual 

values of log Q are likely to be even lower. Note that decreasing the activity of H
2
O 

would decrease the value of log Q, potentially further driving the reaction forward. 
Because of the high starting concentration of methanol in the experiments, it can be 
worthwhile to consider the energetics of Reaction 1 when the activities of both 
methanol and toluene are equal to low values, which might be more representative 
of natural conditions. For example, if we take log a = −6 for both methanol and tolu-
ene, log a = −2.4 for hydrogen and log a = 0 for H

2
O, the value of log Q for Reaction 

1 is 28.8, which is greater than the value of log K. Accordingly, under these condi-
tions there is no potential for the conversion of methanol to toluene. Such a potential 
could develop under dehydrating conditions (log a H

2
O < » −0.9) or more oxidizing 

conditions (log a H
2
 < » −4.5). Although analytical results for benzene are not listed 

in Table 1, the results of the analysis presented above are likely to hold as well for 
the transformation of methanol to benzene. The observation that toluene and other 
methylated aromatic compounds are dominant reaction products (rather than ben-
zene) can be related to the energetics of the overall reaction of benzene to toluene, 

 ( ) ( ) ( )6 76 aq 2 aq 8 aq7C H 3H 6 HC+ →  (3)

which again is written only in order to assess the relative stabilities of the two spe-
cies and not to describe any possible mechanism for transformations between them. 
At 300˚ C and 100 MPa, log K of Reaction 3 is 19.2. Taking logarithms of activities 
of benzene and toluene both equal to 0.45, and log a = −2.4 for H

2
 (aq) gives log 

Q = 1.95; if logarithms of activities of benzene and toluene are both equal to −6 
then log Q = 8.4. Hence, conversion of benzene to toluene is favored at the likely 
oxidation states of the experiments with either high or low concentrations of 
organic species.

It appears from these calculations that the oxidation states of the experiments are 
suitable for methylation of aromatic compounds. In addition, the progressive dehy-
dration of the environment within the clay interlayers during the smectite to illite 
transition may help to drive the initial steps of formation of aromatic compounds, 
and this effect could be more pronounced when the total concentrations of organic 
species are significantly lower than those used in the experiments described.

6.2  Reaction Pathways of the Hydrothermal Organic  
Synthesis Experiment

6.2.1 Early-Stage Reactions: Hydrogen Production

There is as yet no known reaction mechanism that explains the conversion of aque-
ous methanol to hexmethylbenzene in these experiments. We can however begin to 
build a plausible reaction pathway by assessing what is presently known about high 
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T and P reaction mechanisms that involve our starting material, methanol, and what 
is known about reactions that produce similar products: H

2
, CO

2
, CH

4
, dimethyl 

ether (C
2
H

6
O) and the aromatic organic compounds.

In all experiments containing aqueous methanol, both those containing clay 
minerals and those without, the dominant reaction product was dimethyl ether. 
Often accounting for up to one quarter of the total carbon, dimethyl ether was 
formed by the following dehydration reaction: 

 3 3 3 22CH OH CH OCH H O→ +  (4)

Although dimethyl ether accounts for a high fraction of the total carbon present at the 
beginning of the experiment, it is not clear how this species participates in the synthetic 
pathway to the more complex organic reaction products. The observation that each of 
the experiments converged towards comparable amounts of dimethyl ether suggests that 
the abundance may be controlled by metastable equilibrium of Reaction 4, presumably 
through a Brønsted acid-catalyzed SN2 (bimolecular nucleophilic substitution) mecha-
nism, in which methanol displaces a water molecule from a protonated methanol mol-
ecule (Smith and March 2007). This is supported by the comparable amounts of 
dimethyl ether observed in samples incubated both with and without clay minerals.

Hydrogen was initially produced in all experiments (Fig. 5). In particular, data 
from the capsules with illite and saponite (the non-expandable clays) are consistent 
with the following reaction (in the absence of clay), by which methanol is oxidized 
to carbon dioxide and water reduced to H

2
: 

 
3 2 2 2OCH OH H CO 3H+ → +  (5)

In the blank capsules containing only aqueous methanol and no clay, the reaction 
products H

2
 and CO

2
 were also observed (Table 2). One proposed reaction pathway 

for Reaction (5) includes intermediate products formaldehyde, methylene glycol, 
and formic acid (Fig. 6); however, none of these intermediate species were detected 
in our experiment. Formic acid has been shown to quickly decompose to CO

2
 and 

H
2
 under similar T and P conditions (McCollom and Seewald 2003a; Seewald et al 

2006) and similarly rapid reactions could explain why we did not see the proposed 
intermediates.

The reduction of methanol to methane: 

 3 2 4 2CH OH H CH H O→+ +  (6)

has also been proposed for the speciation of single carbon compounds under hydro-
thermal conditions (Seewald et al 2006). Seewald et al (2006) were not able to 
demonstrate a metastable equilibrium for this reaction (9), but our experiments do 
have CH

4
 as a product. One explanation for this might be that the clay mineral 

surfaces direct different reaction pathways than observed in aqueous solutions (irre-
spective of organic concentrations). If organic components are attracted to the clay 
interlayer surfaces, their activity may increase thus promoting reactions that do not 
occur in the absence of the minerals influence.
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In the experiments with the expandable clay montmorillonite, H
2
 was also pro-

duced in the initial stages of the reaction. However, in contrast to the other experi-
ments, after ~10 days H

2
 began to be consumed in the capsules. Under hydrothermal 

vent conditions, Fisher-Tropsch-type syntheses are believed to occur; these reac-
tions involve the production of organic compounds from reactions of CO

2
 and H

2
 

in the presence of a metal catalyst (Anderson 1984). The first step in such a process 
is the water-gas shift reaction: 

 2 2 2CO H CO H O+ → +  (7)

This reaction does occur at the temperatures and pressures present at hydrothermal 
vents, and it could account not only for the consumption of H

2
 but also provide a 

reactive C source for the more complex organic products observed. However, there 
was no CO detected in any sample at any point in the reaction progress. It is possible 
that CO is reactive enough that it did not persist under our experimental conditions. 
If so, Reaction (7) is a possible mechanism for consuming H

2
 in the early stages of 

the montmorillonite experiments.
While our results are generally consistent with a variety of proposed reaction 

mechanisms that can generate some of our products, the intermediate compounds 
necessary to confirm a specific reaction mechanism were not identified, either 
because of low abundance or rapid reaction kinetics. Future experiments could be 
sampled more often to test for intermediate organic products that may be present 
for shorter reaction times, and may help to elucidate the reaction pathways.

Fig. 6 Schematic representation of the primary reactions of methanol at 300 °C and 100 MPa. 
These reactions occur in samples containing aqueous methanol, as well as those containing aque-
ous methanol and clay minerals
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6.2.2 Late-Stage Reactions: Clay–Surface Interactions

The specific mechanism by which the initial aromatic ring structures are formed 
remains poorly understood. Small amounts of C

2
 through C

5
 alkanes and alkenes 

are formed during the experiments with montmorillonite and it is likely that these 
molecules are the starting materials in the formation reactions of the aromatic prod-
ucts. A variety of condensation reactions including the elimination of water from 
alcohols to form ethers and alkenes, the Aldol condensation, the Cannizzaro reac-
tion and the Diels-Alder reaction (as well as others) have been shown to occur in 
near critical and supercritical water; though, in general, the mechanisms under 
these conditions are unknown (for a review see Kruse and Dinjus 2007a; Kruse and 
Dinjus, 2007b). It has been shown that the adsorption affinity for light alkanes on 
montmorillonite is directly proportional to carbon number, with adsorption affinity 
increasing with each additional carbon (Cheng and Huang 2004). It is possible that 
alkanes formed during the early stage of the experiment are attracted to the inter-
layer surface of the clay mineral where they could then be rapidly dehydrogenated 
to alkenes. Once a variety of alkenes are formed, it is possible that cyclic com-
pounds could be formed at the clay surface. Two possible mechanisms for the for-
mation of benzene are presented in Fig. 7. In one case, alkanes are progressively 
built from the addition of methanol to methane, followed by the dehydrogenation 
to form cyclohexane and subsequently benzene. In the other case, the alkenes 
formed by the dehydrogenation of ethane participate in condensation reactions to 
form cyclohexane. If this reaction proceeds by a Diels-Alder-like mechanism, the 
alkene must exist in the s-cis conformation. Assuming the reaction occurs at the 
clay interlayer surface, this could be favored because the alkene is constrained to 
having both carbons added on the same side of the double bond. In addition, Diels-
Alder reactions are known to proceed more rapidly at higher pressures.

Notably, there is a size similarity between the alkylated benzene product and 
the silicate structure that introduces speculation about a surface-mediated reac-
tion path, directed by cation charge distributions associated with the silicate lat-
tice. The smectite siloxane surface exhibits a hexagonal arrangement of silicate 
tetrahedra. The dimension of the silicate hexagon that forms the basal siloxane 
sheet of the smectite (Fig. 8) approximates the size of a benzene molecule 
(~3Å across). A hexamethyl benzene is ~5.8Å with methyl groups attached 
(Maverick et al, 1978). The similarity in these dimensions draws attention to the 
possibility that the silicate lattice might act as a template for the synthesis of 
these ring structures.

Whatever mechanism is acting to produce hexamethyl benzene in our system, it 
appears to have relatively fast kinetics. This speculation is based on the fact that the 
concentrations of alkanes and/or alkenes, from which the aromatic rings presumably 
form, decrease with increasing carbon number, and because no partially aromatized 
structures were observed.

In zeolite catalyzed methanol reactions a “carbon pool mechanism” has been 
proposed (Kolboe 1986; Haw and Marcus 2005). In these reactions propene is 
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Fig. 7 Schematic representation of two possible pathways from methane to benzene

Fig. 8 Comparison of the dimensions of hexagonal ring structures formed by Si in the basal 
siloxane surface of a smectite (left) and by C in a hexamethyl benzene ring (right). The clay unit 
cell dimensions show the a-b plane (looking down the c-axis; webmineral.com). The benzene ring 
dimensions (Maverick et al., 1978) are close to the Si-ring dimensions
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the most abundant initial product from methanol; propene trimerizes to form 
trimethylcyclohexane, which then transfers hydrogen to other propenes, leaving 
trimethylbenzene. Methyl benzenes are methylated by methanol to hexamethyl 
benzene, and can be further methylated by side-chain alkylation to an ethyl benzene 
or isopropyl benzene. The alkylated benzenes then eliminate an ethylene or propene, 
respectively. The remaining methyl benzene can then be methylated back to 
hexamethyl benzene by methanol, completing the catalytic cycle. Side-chains may 
also grow to the point where a new ring can close, adding to the structure.

Given that our system produces propene and hexamethyl benzene, a similar 
mechanism may occur within the interlayers of the expandable clay minerals. 
Hexamethyl benzene is the dominant extraction product for all smectite reacted 
samples, accompanied by progressively decreasing concentrations of methyl ben-
zenes and decreasing numbers of methyl groups. A maximum of 8 carbons have 
been observed attached to any single benzene molecule, and multiple structural 
isomers have been observed for benzenes with 6 or fewer attached carbons. This 
suggests that side-chain alkylation to ethyl and propyl groups is occurring. 
However, alkenes have been observed only in small amounts, on average one order 
of magnitude below that of the corresponding alkanes. n-Hexane is also observed 
in trace amounts, suggesting that alkane ring closure could be part of the mecha-
nism for the formation of aromatic ring structures. Once formed, it appears that 
benzene (and the later formed naphthalene and anthracene) mainly reacts with 
methyl oxonium ion (CH

3
OH

2
+) in a series of electrophilic aromatic substitutions 

(S
E
Ar mechanism; Smith and March 2007; Fig. 9), progressively methylating the 

aromatic ring. While much less common, methanol substitutions may also result in 
attached hydroxyl groups, with the loss of methane; or attached methoxy groups, 
with the subsequent loss of hydrogen.

6.2.3  Hydrogen Consumption in Montmorillonite-Containing Experiments

Montmorillonite-containing samples showed an initial increase in production of H
2
 

during the first week of reaction, then a marked decrease in H
2
 to nearly undetect-

able levels over the remaining weeks of reaction (Fig. 5; Table 2). It is notable that 
the disappearance of H

2
 occurs in the same samples that yield the highest quantities 

of complex carbon products. Proceeding from reduced carbon species, three H
2
 

molecules should be formed for every one of any of the 6-membered aromatic ring 
structures produced. If the reaction proceeds along the pathway where methyl 
groups from methanol are added stepwise to an alkane (CH

4
) in a dehydration reaction, 

then taking Reaction (9) into account leaves the following net reaction that pro-
duces H

2
: 

 3 6 6 2 26CH OH C H 3H 6H O→ + +  (8)
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If benzene is formed along the alternate pathway (via condensation of alkenes, Fig 6.) 
then we might then expect to find a surplus of H

2
 along such a pathway. However, 

the opposite has been observed in the samples containing the highest levels of aro-
matic compounds; H

2
 is not found at the end of these experiments (performed in 

triplicate).
Given the possibility that Fischer-Tropsch-type syntheses are responsible for the 

observed reaction products, we would anticipate a surplus H
2
 due to the oxidation of 

methanol from Reaction (5). Furthermore, the reduction of methanol to methane via 
Reaction (6) seems even more likely as the first step in the reaction pathway, because 
it generates a positive feedback loop. To assess the plausibility of this path we may 
evaluate the amounts of methane produced relative to the aromatic compounds.

Admittedly, complete mass balance cannot be demonstrated in these experi-
ments because of the large number and range of aromatic reaction products. 
However, estimates based on the most abundant of these products, hexamethyl 
benzene, can be used to assess the plausibility of a reaction pathway. In the 
 experiments with the highest yield overall, (montmorillonite reacting for 6 weeks) 
we observed roughly 5 mmol hexamethyl benzene and roughly 70 mmol methane. 

Fig. 9 Schematic representation of major reactions involving benzene. Benzene is progressively 
methylated through a series of dehydration reactions with methanol to hexamethyl benzene. Less 
abundant phenols and methoxy phenols are also produced from reactions with methanol, generating 
H

2
 and CH

4
. These hydroxyl groups could be similarly methylated through dehydration reactions
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A reasonable estimate based on the semi-quantitative analysis performed would 
place hexamethyl benzene at ~20% of the overall composition of aromatic prod-
ucts, indicating that the total amount of aromatic compounds produced was near 25 
mmol. Assuming that all aromatic originate from single methanol molecules, via 
stepwise methanol addition (Reaction 8) we could expect 3 moles of H

2
 per mole 

benzene, for a total of 75 mmol CH
4
. This is roughly comparable to the measured 

70 mmol of CH
4
, indicating that this reaction pathway is plausible.

6.2.4 Oxidation State

One variable that we did not attempt to control in these experiments was oxidation 
state or oxygen fugacity (ƒ O

2
). The oxidation state in the experimental capsule is 

likely to be an important constraint on the reaction pathway because it dictates the 
activity of H2 in the experiment. The oxidation state of the fluid and the activity of 
dissolved hydrogen are related through the dissociation of water: 

 2 2 2H O H 0.5O= +  (9)

One of the more common methods for controlling ƒ O
2
 in hydrothermal experiments 

is through the use of mineral assemblages that act as ƒ O
2
 buffers at equilibrium. An 

equilibrium oxygen fugacity can be calculated at a given temperature from the 
equilibrium constant, the activities of the minerals, and the activity of H

2
O. Common 

minerals used as redox buffers in hydrothermal experiments simulating seafloor 
black smokers include a combination of pyrite (FeS

2
), pyrrhotite (FeS), and magnetite 

(Fe
3
O

4
) (PPM). But all of these minerals have been shown to catalyze organic 

syntheses, which would complicate our interpretation of the role of clay minerals.
We anticipate that the organic products from clay mineral reactants would differ 

under more reduced conditions. In modern seafloor hydrothermal systems, the 
PPM assemblage has been proposed to control f O

2
 (Shock 1990b; Shock et al 

1995). There are three other mineral assemblages that buffer f O
2
 to conditions com-

mon in nature (Fig. 10). In future experiments, the oxygen fugacity may be fixed 
experimentally at the equilibrium f O

2
 values for the hematite–magnetite (HM), 

quartz–fayalite–magnetite (QFM), and iron–wustite (IW) mineral assemblages; 
a progression from relatively oxidized to relatively reduced conditions on earth. 
These conditions will certainly influence the organic products since hydrogen 
clearly plays an important role in the hydrothermal organic synthesis.

7 Summary

The experimental results showed that organic molecules (up to C
20

) are formed 
when aqueous methanol reacts with smectite clays under seafloor hydrothermal 
conditions. While we cannot as yet define reaction mechanisms for the production 
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of these complex organic compounds, we can begin to assess what is possible in 
this system from a variety of geochemical perspectives.

Thermodynamics provides a theoretic framework that constrains the conditions 
present in the experimental system. Calculations using realistic activities for starting 
materials and for the gas-phase products (CO

2
 and CH

4
) from the experiments sug-

gest there is a thermodynamic drive to form compounds like benzene and toluene 
under conditions with a slightly reduced activity of water. Benzene and toluene are 
only superficially similar to the aromatic products formed in the experiment, and 
more realistic calculations will require evaluation of the thermodynamic state prop-
erties for hexamethyl benzene at elevated temperature and pressure. Nonetheless, 
the clay interlayer space could very likely exhibit reduced water activity under 
these conditions, especially as the interlayer collapses during illitization and 
excludes H

2
O.

The products of the reactions with and without clay minerals provide some 
insight to the reactions taking place in these experiments. In general, the experi-
ments without clay minerals only form the expected thermal decomposition 
products (CO

2
, CH

4
, H

2
, and dimethyl ether). In the presence of the smectite clays 

however, more complicated organic molecules form and persist over the course 
of several weeks. The initial stages of reaction in the smectite experiments pro-
duce a variety of reasonable starting materials (dimethyl ether, as well as other 
small alkanes and alkenes) that could participate in condensation reactions to 
form aromatic products. These particular experiments were not sampled often 
enough to detect potential intermediate products that could help to confirm specific 
reaction pathways. The specific reaction pathways are also very likely dependent 
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on the redox conditions present in the experiment as H
2
 is a product for some 

reactions and a reactant for others. Future experiments to assess reaction 
mechanisms will need to evaluate intermediate organic products and control the 
oxygen fugacity (fO

2
).

The fact that the production of complex aromatic products requires the presence 
of an expandable clay mineral and the speculation that reactions which can form 
aromatic products could be surface-mediated, points to a key role for minerals in the 
synthesis of organic compounds under hydrothermal conditions. This suggests that 
the smectites actively incubate the organic compounds and protect them from ther-
mal destruction. It is not clear whether this occurs because the layer-charge in the 
smectite actually mediates the reactions and stabilizes ionic intermediates, or if con-
ditions within the interlayer space change the aqueous-phase chemistry enough to 
promote particular reaction pathways. The mineralogical conversion of smectite to 
illite however corresponds with increasing yields of polycyclic aromatic compounds. 
It is interesting that only small quantities of alkane products are observed. This sug-
gests either that the alkanes are reactants in the synthesis of aromatic products, or 
they are released from the protective interlayer of the smectite as illite forms, leaving 
aromatic complexes behind (Kennedy et al 2002).

If these compounds are released from the smectite incubator, their survival 
depends on the chemical conditions of the external environment. If the organic 
products are released into 300˚C seawater, the compounds very likely may decom-
pose. However, steep temperature gradients exist in seafloor hydrothermal environ-
ments, so the organic compounds might be formed and quickly transported into 
cooler and more alkaline fluid where their chance of survival is potentially 
enhanced. These hydrothermal systems are potentially like those on the early Earth 
where pre-biotic chemistry began. Obviously, we do not yet understand the link 
between the abiotic synthesis of organic molecules in clays and the production of 
biomolecules. Nonetheless, the results are compelling and suggest two possibili-
ties: first, complex organic molecules may have been present for early organisms to 
utilize, and second, early organisms could have followed a “template” derived from 
the abiotic synthesis of organic molecules in clay minerals. The birth of complex 
organic molecules from “the primordial womb” could be a precursor for the assembly 
of primordial biomolecules.
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Abstract “How on Earth did life begin?” is one of the noblest questions we can ask 
in science, but it took well over a century from Darwin (1859) to gain an understand-
ing of life in the Precambrian. Why did an understanding take so long? Arguably it 
was because it was, and still remains, a very big and very difficult problem. Its study 
now involves the whole of the natural sciences, and progress has been a matter of 
slow attrition. For most of this time, for example, there has been no concept of the 
vast duration of Precambrian time, nor any evidence for a distinct biota. Since the 
seminal work of Stanley Tyler and Elso Barghoorn (1954), each generation has come 
up with its own favourite solution, only to watch it fall as younger scientists have 
arrived on the scene. As such, this story provides us with a salutary tale of ‘paradigm 
shifts’ that have taken place about every 50 years or so. And this process is ongo-
ing and continuous. It is no surprise then, to find that the majority of uniformitarian 
interpretations for Precambrian fossil assemblages established over the last 50 years 
now appear highly questionable. That is, of course, exactly how it should be.

Keywords Gunflint chert • Strelley pool formation • Stromatolites • Cyanobacteria 
• Self-organising structures

1  Peculiar Contortions

Among the first to notice and wonder about the strange forms of stromatolitic 
growth was Charles Darwin, back in the 1830s, who included a figure (Fig. 1a) in 
his published ‘Journal of Researches’ and made the first ever pertinent observations 
on splash-zone stromatolites during the voyage of HMS Beagle: “The rocks of St 
Paul appear from a distance of a brilliantly white colour. This is partly owing to a 
coating of a hard glossy substance with a pearly lustre, which is intimately united to 
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the surface of the rocks. This, when examined with a lens, is found to consist of 
numerous exceedingly thin layers, its total thickness being about the tenth of an inch. 
It contains much animal matter, and its origin, no doubt, is due to the action of rain 
or spray on the birds’ dung.… When we remember that lime, either as phosphate or 
carbonate, enters into the composition of hard parts, such as bones and shells, of all 
living animals, it is an interesting physiological fact to find substances harder than 
the enamel of teeth, and coloured surfaces as well polished as those of a fresh shells 
reformed through inorganic means from dead organic matter – mocking , also, in 
shape some of the lower vegetable productions.” (Darwin 1839). We can only guess 
that he was thinking about comparisons with fungi and lichens.

Fig. 1 Peculiar contortions – the discovery of self-organized sedimentary structures. (a) A wood-
cut used by Charles Darwin to illustrate vegetable-like growths of calcium phosphate found grow-
ing in the splash zones of oceanic islands; no scale was given. (b) One of several specimens of 
‘Arenicolites sparsus’ collected by J.W. Salter in 1856 from the Ediacaran Longmynd beds of 
Shropshire and illustrated by him the following year (Salter 1857, pl. 5, Fig. 3). It is arguably 
among the first Precambrian fossils ever to be figured, named and described. This specimen is 
now regarded as a microbially-induced sedimentary structure (see McIlroy et al. 2005; Callow and 
Brasier 2009)
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The earliest microbially-mediated sediment to be figured from the Precambrian 
was discovered as early as 1855, by the great palaeontologist John Salter (see Fig. 1b) 
in the Ediacaran sediments of the Longmynd in England (Salter 1856, 1857). This 
material was originally regarded by him as the markings of worm burrows of 
Cambrian age, but its Precambrian and microbial origin has now become well 
known (e.g., McIlroy et al. 2005; Callow and Brasier 2009). Interestingly, the speci-
men in Fig. 1b was indirectly referred to by Darwin (1859) while writing about the 
Origin of Species, as follows: “Traces of life have been detected in the Longmynd 
beds beneath Barrande’s so-called primordial [Cambrian] zone” (Darwin 1859).

From at least 1851, we also find discussions taking place about stromatolitic struc-
tures in the ~2,000 million year old Banded Iron Formations from the Great Lakes 
region of North America (see Fig. 2a). Such ancient rocks were then placed in the 
Azoic period because of their “entire absence of organic remains” (e.g., Foster and 

Fig. 2 The discovery and decoding of self-organized sedimentary structures. (a) hand specimen 
of stromatolites from the ~2,000 million year old banded ironstones of the Gunflint chert near 
Hoyt Lake, Minnesota. Similar structures were interpreted as igneous features by Foster and 
Whitney (1851) and as paradoxical sedimentary structures by Irving (1883). (b) Hand specimen 
once in the collection of Sir George Taylor, Director of the Royal Botanic Gardens at Kew. The 
specimen is made from layers of lead-based paint and was likely generated in a spray booth with-
out any participation from biology. Note its similarity to ‘a’, including the non-isopachous laminae 
and the inter-columnar spaces filled with matrix (see McLoughlin et al. 2008)
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Whitney 1851). At that early time in geological thinking, the Gunflint chert was 
thought to have been laid down under the great residual heat left over from the fiery 
origins of the primordial Earth: “The Azoic period having been one of long continued 
and violent mechanical action (ibid., p. 67).” The concern, therefore, was whether the 
“beautiful series of intricate convolutions of alternate bands of bright-red and steel-
grey” were really the result of sedimentary processes. “The flexures are exceedingly 
intricate and bear no marks of having been the result of original stratification. There 
is no actual line of separation between the lighter and darker bands” (ibid., p. 68). 
Their final suggestion was that they were crumpled by igneous phenomena and had 
“risen up, in a plastic state from below” to pour out onto the deep sea floor.

The geological surveyor Roland Irving was to return to this question in his early 
monograph on the Archean of the north-western United States. By 1883, it was becom-
ing clearer that the banded iron formations were some kind of paradoxical sedimentary 
deposit: “the cherty and jaspery portions, frequently strongly charged with magnetite 
and other oxides of iron, present often peculiar irregularities and contortions in subor-
dinate bedding, and also often a confused concretionary appearance, and even a brec-
ciated appearance. All of these irregularities are very plainly subordinate to a simple 
bedding, corresponding entirely to that of the rest of the Animikie series…I anticipate 
that when we shall have completed our microscopic studies of them we shall get from 
them some light as to the origin of these confused and much discussed rocks. I may now 
merely say that… all of these cherts and jasper schists are original, and not the result 
of a metamorphism upon ordinary sedimentary deposits, though manifestly they are not 
of eruptive origin, as has been maintained by some” (Irving 1883).

It was also at about this time that curious case of Cryptozoon began to emerge 
from the fossil record. This cabbage-like structure had been found spread across 
bedding planes in the upper Cambrian carbonates of New York State. First reported 
by James Hall (1883), it was originally interpreted as some kind of calcareous algal 
growth, a view that was developed by Charles Walcott (1883) and then by V.H.E. 
Kalkowsky (1908), who first introduced the concept of ‘stromatolite’ as follows: 
“organogenic, laminated calcareous rock structures, the origins of which is clearly 
related to microscopic life” (translation in Krumbein 1983, but see also Wacey 
2010). Stromatolites are so named from the Greek for ‘flat stones’. But as can be 
seen, the definition of Kalkowsky was a genetic one, though direct observation of 
microbes was seemingly precluded by him. From this strange mismatch there has 
arisen much misunderstanding, not only about stromatolites, but also about the 
word ‘stromatolite’ itself (see Fig. 2b and McLoughlin et al. 2008).

The role of biology in stromatolite growth was widely ignored until Cambridge 
sedimentologist Maurice Black canoed across the tidal flats of Andros in the 
Bahamas (Black 1933). He noticed that dense growths of cyanobacteria were form-
ing an ‘algal mat’ that seemed to survive episodes of sediment deposition by grow-
ing upwards through the sediment.

Black’s work went largely unnoticed for several decades. By 1954, the search for 
cyanobacteria-like microfossils in the Gunflint chert stromatolites was starting to 
bear some fruit in the form of fossilized cells, coccoidal colonies and filaments 
(Tyler and Barghoorn 1954; Barghoorn and Tyler 1965). There followed an increas-
ing number of descriptions of stromatolites, and of microfossils from stromatolitic 
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cherts, in the  succeeding decades (e.g., Walter 1976; Krumbein 1983). During this 
phase, it was widely assumed that stromatolites were largely formed by the trapping 
and binding activities of microbes such as living cyanobacteria. Such work was help-
ing to promote and establish the paradigm that cyanobacteria are a search image for 
the earliest life, and that stromatolites are their constructions (see Schopf and Klein 
1992; Schopf 1999).

This cyanobacterial vision of the early biosphere was to reach its zenith during 
the Viking Missions to Mars in 1976. During those expeditions, the chemical tests 
for early life were clearly designed to sniff out the evidence for cyanobacteria-like 
photosynthesis. Those early astrobiologists were looking for kinds of metabolisms 
that involved the uptake of carbon dioxide and the release of gaseous oxygen by 
means of photoautotrophic enzymes like chlorophyll. As is now well known, they 
found nothing to their liking.

The strangeness of distant planets and of early worlds really dates from this 
moment of realization back in 1976. But it has taken three more decades for the 
cyanobacterial paradigm – the cyanosphere – to crumble.

The first nail in the coffin came with the discovery of stromatolite-like growth 
around the chimneys of deep sea black smokers. Clearly, these ecosystems and the 
stromatolites they contain cannot be photoautrophic, let alone oxygenic. A major step 
forward was then taken by the MIT group of John Grotzinger and Dan Rothman (1996) 
who showed by experiment that stromatolitic growth, leading to branching and colum-
nar forms, is the predictable outcome from some kinds of abiogenic crystal growth, 
much like the growth of calcareous flowstone (cf. Fig. 3a). They suggested that such 
potentially abiogenic stromatolites had isopachous laminae (Fig. 3b), whereas biologi-
cally mediated stromatolites tended to have non-isopachous laminae (Fig. 3c).

These conclusions were to have serious implications for the interpretation of 
stromatolites from the ca. 3,430 million year old Strelley Pool Formation of 
Western Australia. First regarded as biogenic (Lowe 1980), they were later rejected 
by him (Lowe 1994), but further examples and arguments were resurrected by 
Hoffman et al. (1999) and then more recently by Allwood et al. (2006).

Our own studies (e.g., McLoughlin et al. 2008; Wacey et al. 2008; Wacey 2010), 
however, reveal that these structures typically show isopachous laminae, and form 
part of a spectrum that ranges from ripple-like corrugations of linear, through sinu-
ous to linguoid and lunate forms, culminating in asymmetrically conical morpholo-
gies (Fig. 4). As such, many may be explained as accretionary flow-stone like bed 
forms formed under supersaturated conditions on the seafloor. As yet, there is no 
evidence in these stromatolites for the preservation of microbial fossils in the form 
of sheaths, filaments or cells.

A further challenge to the paradigm of stromatolites as cyanobacterial markers – 
and even as biosedimentary structures – has come from experimental work under-
taken by Nicola McLoughlin and colleagues (2008). They have managed to grow 
complex digitate and inclined stromatolites with non-isopachous laminae (cf. Fig. 2b) 
under conditions that are relevant to the accretion of silcrete and calcrete stromatolites 
(e.g., on the early land surface), and to the accretion of calcareous tufas and siliceous 
sinters (e.g., in the early oceans). These laboratory simulated stromatolites show 
some remarkable similarities with the famous Gunflint stromatolites (Fig. 2a).
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From this and other studies, it emerges that stromatolite morphologies tend to 
accumulate along the edges of a deposition system where the supply of material is 
starting to fail – in what can be called the zone of complexity. At best, they may tell 
us something indirect about viscosity and the presence of extracellular mucilage. 
But clearly, they can also grow completely without the participation of biology.

A plethora of studies have now shown that stromatolitic morphology should 
henceforth be regarded as a branch of physical sedimentology. That is to say, 
whereas ripples are the products of low viscosity accretion, stromatolites may be 
seen as the products of accretion under more viscous conditions. Clearly, this 

Fig. 3 The decoding of self-organized sedimentary structures. (a) Hand specimen of banded 
agate showing stromatolite-like domes and bush-like dendrites, from an un-named deposit in 
Wyoming. Note the isopachous nature of the laminae, regarded by Grotzinger and Rothman 
(1996) as potentially abiogenic. (b) Sketch to show the nature of isopachous growth, typically 
found in agates, malachites and other hydrothermal mineral deposits. (c) Sketch to show the nature 
of non-isopachous laminae, supposedly typical of stromatolites with a biological component
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 viscosity may take the form of either abiologically- or biologically-induced crystal 
precipitates and gels. Both systems can produce self-organized structures of domes 
and columns under non-equilibrium conditions.

2  Implications

Several major conclusions can be drawn from these case histories. Clearly there is 
a need for a geological understanding of the context for early life on Earth or Mars, 
not merely a biological understanding. This means the acquirement of a thorough 
training in metamorphic, igneous and sedimentary petrology, and the study of 
 context at a range of scales, including the premier disciplines of geological  mapping 

Fig. 4 The decoding of self-organized sedimentary structures from the ~3,430 Ma Strelley Pool 
Formation. (a, c) Field photographs showing stacked pseudocolumns of linear, ripple-like fea-
tures, commonly regarded as ‘stromatolites’. (b) Reconstructions of the geometry of the so-called 
stromatolites from the Strelley Pool Formation, showing the continuous spectrum from linear 
ripples to oversteepened lunate ripples and pseudoconical structures
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and fabric mapping. Only in that way can scientists yet hope to form an opinion as 
to whether the context and burial history of the host rock is consistent with claims 
made for early life.

The second conclusion is equally serious. It concerns our facing up to a non- 
biological rather than biological origin for candidate morphological (or biogeo-
chemical) signals from the early Earth or Mars. As can now be seen with the sad 
cases of Eozoon (Brasier 2009), Eoleptonema (Brasier et al. 2002, 2005) and 
Cryptozoon (cf. McLoughlin et al. 2008), we can no longer afford to ignore the 
ways in which abiology can simulate earthly biology, let alone unearthly biology. 
The main problem here is that morphological complexity has for long been taken 
to be a keystone characteristic for the earliest fossils (e.g., Buick et al. 1981; Schopf 
1999). A basic understanding of self-organizing structures (SOS) and complexity is 
therefore an essential step if the early fossil record is to be correctly decoded. 
Unfortunately, it is emerging that complex structures do not require complex 
causes, as shown nearly a century ago by d’Arcy Thompson (1917). As seen with 
stromatolites, they can arise naturally in physico-chemical systems within the 
realms of ‘chaotic’ behaviour (Grotzinger and Rothman 1996).

In Fig. 5, attention is therefore drawn to a range of physico-chemical gradients 
that can lead to the formation of macroscopic stromatoloids (A) and ripples (B) as 
well as to microfossil-like structures generated by the growth of dendrites (E), 
‘coffee-ring’ effects (F), polygonal crystal rims (G) and spherulites (H). In each of 
the systems shown, a move to the right of the diagram results in a loss of symmetry 
but a gain in morphological or temporal complexity towards the ‘chaotic domain’ 
(see Stewart and Golubitsky 1992). This leads to a ‘symmetry-breaking cascade’, 
wherein the ‘symmetry group’ falls and the level of information rises. Symmetry-
breaking is a truly conspicuous phenomenon during the growth and recrystalliza-
tion of spherulites, leading to a natural assemblages of structures that can range 
from spheroidal (broadly rotational symmetry), to dendritic (reflectional to slide 
symmetry), to arcuate (no clear symmetry; Fig. 5h). Such symmetry-breaking cas-
cades appear to arise when localised changes in the ionic concentrations of the 
constituent chemicals (e.g., iron oxide, carbon) fall below a critical threshold, so 
that the higher levels of symmetry became unstable. In this way, the margins of 
crystal growth can provide a rich harvest of pseudofossil structures, ranging from 
polygonal to dendritic to filamentous (e.g., snowflakes, moss agate, pyrolusite 
‘moss’; Fig. 5e–h) and from spherulitic/botryoidal to dendritic to filamentous (e.g., 
hydrothermal cherts and jaspers; Fig. 5h). Such complex systems have also been 
simulated by computational experiments and digital automata (Fig. 5c–d), replicat-
ing the self-organization seen within stromatolites and dendrites (Grotzinger and 
Rothman 1996; Wolfram 2002). Brasier et al. (2006) have reviewed the problems 
of spheroids, filoids, septate filoids, stromatoloids, wisps and fluffs and the 
 challenges that they present for decoding the earliest fossil record.

Given such a challenge, it therefore seems wise to remain cautious and regard 
many Archean microfossils, stromatolites and carbon isotopic values (older than, say, 
ca. 3,000 million years) as open to question until their origin by likely alternative , 
abiological, processes has been falsified (Brasier et al. 2002, 2006; McLoughlin et al. 
2008; Wacey 2010). It is this null hypothesis that makes astrobiology into a science.



123Towards a Null Hypothesis for Stromatolites

Fig. 5 Self-organising structures (SOS) that can arise naturally in physico-chemical systems 
within the realms of chaotic behaviour. Symmetry is lost as one moves to the right but morpho-
logical complexity increases. In well preserved microfossil assemblages morphological variation 
of the fossil assemblages is usually less than co-occurring abiogenic structures and so should 
occupy a more restricted domain (‘domain of biological morphology’) within the morphospace 
(Adapted from Brasier et al. 2006)
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Abstract Microbialites are critical for documenting early life on earth and  possibly 
elsewhere in the solar system. However, criteria for microbialite identification are 
controversial. Trace element geochemistry provides two types of information that 
aid interpretation of putative microbialites. Firstly, because most microbialites 
 consist of hydrogenous precipitates, trace elements can be used to investigate the 
fluids in which the structures formed, thus aiding identification of environments of 
formation. For example, rare earth elements preserved in microbialites have proven 
very useful in discriminating depositional environments. Secondly, microbes utilize 
and concentrate a wide range of elements, including many metals. Preservation of 
such elemental enrichments may provide a valuable biosignature. Although research 
in this field is relatively young, high precision, in situ measurement of metals in 
microbialites using techniques such as laser ablation-inductively coupled plasma-
mass spectrometry, now with spatial mapping, have identified consistent enrich-
ments in biologically important metals in microbialites. Hence, trace element studies 
are finding increasing utility in studying microbialites, and so long as diagenesis and 
the degree to which specific precipitates represent microenvironments are taken into 
account, trace element inventories may provide important information about deposi-
tional settings and, potentially, metabolic processes within biofilms.
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1  Introduction

Microbialites are one of the most important records of early life on Earth (Schopf 1994; 
Walter 1994) and are among the most likely types of potential evidence of extraterres-
trial life (Gibson et al. 2001; Cady et al. 2003; Barbieri and Cavalazzi 2004). Microbialites 
are ‘organo-sedimentary’ structures formed by the incidental induction of mineral pre-
cipitation within or on microbial biofilms with, or without, trapping and binding of 
ambient sediments (Burne and Moore 1987; Riding 1991b; Dupraz et al. 2008; c.f., the 
stromatolite definition of Awramik and Margulis in Walter 1976). A ‘biofilm’ is a con-
sortium of microbes contained within their own extracellular products attached to a 
substrate. Most authors differentiate biofilms and microbial mats, restricting the former 
to microbial consortia occurring on solid surfaces, and the latter to commonly thicker 
communities that occur on, or within, particulate sediment (Stolz 2000). However, the 
difference is commonly one of scale with thick and complex benthic ‘microbial mats’ 
intergrading continuously with ‘biofilms’ that may be only micrometers in thickness. 
Functionally, the two end members are similar and the nature of the relationship 
between substrate and microbial community is far from clear for many ancient micro-
bialites. Hence, for the purposes of this chapter the two terms can be considered more 
or less interchangeable, but the structural and chemical complexity increase from bio-
films to microbial mats. In any case, the study of microbialites forms a nexus between 
sedimentology, biology, and increasingly now, biogeochemistry and geomicrobiology.

Microbialites include, but are not limited to, the well known laminated forms called 
stromatolites, which are the most abundant and conspicuous Precambrian fossils. 
However, the interpretation of microbialites has long been a contentious issue because 
they include a diverse collection of trace fossils rather than true body fossils (Buick et al. 
1981; Walter 1983, 1994; Lowe 1994; Grotzinger and Rothman 1996; Grotzinger and 
Knoll, 1999; Lindsay et al. 2003; Awramik and Grey 2005). In other words, microbialites 
are structures that were made by microbial communities rather than the remains of the 
microbes themselves. As an analogy, buildings are made by people, and thus traces of 
humanity, but they are not fossils of people themselves and give little indication of the 
identity or morphology of the people who built them. However, although buildings 
would be considered irrefutable evidence of life, structures potentially interpreted as 
microbialites may not be. The difference is that no natural, abiological process can be 
conceived that could produce a building, whereas it is feasible that structures similar to 
some microbialites could be made without the intervention of microbial life (Grotzinger 
and Rothman 1996; Grotzinger and Knoll 1999; Batchelor et al. 2000; Mcloughlin et al. 
2008). A variety of natural processes in different environmental settings are capable of 
creating laminated structures composed of sediment or mineral precipitates without 
requiring biological activity. These include botryoidal mineral deposits such as malachite 
or agate, calcrete (Read 1976) and speleothems (Thrailkill 1976), although some degree 
of microbial influence may affect the morphology of the last two types of structures (e.g., 
Loisy et al. 1999; Cacchio et al. 2004). Regardless, many authors have chosen to use the 
term ‘stromatolite’ in a non-genetic, morphological sense only, meaning an attached, 
laminated, sedimentary structure that accretes away from the substrate (e.g., Semikhatov 
et al. 1979; Grotzinger and Knoll 1999; Perry et al. 2007).
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In this chapter, we use the term stromatolite exclusively for structures interpreted as 
having formed owing to the presence of a microbial mat or biofilm, i.e., stromatolites 
are a subset of microbialites, and abiological laminated structures are not  stromatolites. 
Of necessity, some structures must remain equivocal, and hence,  interpretations of 
their origins will reflect varying degrees of certainty (Awramik and Grey 2005). 
Regardless, it is acknowledged that the morphologies of stromatolites are heavily 
affected by ambient environmental conditions, such as sediment supply, water energy 
and water chemistry (Grotzinger and Knoll 1995, 1999; Knoll and Semikhatov 1998; 
Sumner 2000; Turner et al. 2000; Dupraz et al. 2006). Additionally, a continuum 
exists between biologically constructed and completely abiotic structures (Riding 
1991b). The rule of thumb being applied here is that we consider a structure to be a 
stromatolite if it would not have formed with its own distinctive morphology without 
the presence of a microbial community. We must acknowledge that microbialites 
formed by the same community might differ in morphology in different environmen-
tal settings, as do for example the skeletons of invertebrates such as scleractinian 
corals (e.g., see Fig. 4 in Veron 1995). We also acknowledge that benthic microbial 
mats and biofilms are generally formed by a diverse, commonly stratified community 
of microbes, not a single biological entity (Golubic 1976; Revsbech et al. 1983; Stolz 
1990, 2000). Equally microbial consortia  and/or metabolic processes may vary spa-
tially and temporally in the same environment or  biofilm (Canfield and Des Marais 
1993; Wimpenny and Kinniment 1995; Little et al. 1997; Decho 2000; Konhauser 
2007; Buckley et al. 2008). Biofilms can be very complex, stratified structures, both 
in terms of communities and geochemical pathways (e.g., see nice review in Chapter 
6 of Konhauser 2007). Hence, microbialites cannot be treated in the same way as 
traditional body fossils (i.e., preserved parts of the organisms themselves). Irrespective 
of those factors, we prefer to use the genetic meaning of stromatolite, as that gets at 
the heart of  evidence for early life on Earth, and irrespective of semantics, it is very 
much our task to make the distinction of whether a structure was biogenic or not. In 
favor of our approach from a semantic point of view is the fact that other laminated 
structures that are not thought to be specifically biogenic have names with genetic 
connotations. Calcrete, speleothems and seafloor crusts are all terms for laminated 
sedimentary structures that imply a mode of genesis. Why should stromatolites be 
any different? It must also be pointed out that although stromatolite-like features have 
been created in computer models without intrinsic biological factors (Grotzinger and 
Rothman 1996), and limited experimental work has backed them up (Mcloughlin 
et al. 2008), those models are capable of producing only simple stromatolite-like 
morphologies (Batchelor et al. 2000; Dupraz et al. 2006). Many stromatolite mor-
phologies, including some simple forms, such as those with side branching and the 
wide-spread conical Conophyton-like forms, cannot be modeled without using inher-
ent biological attributes (Grotzinger and Knoll 1999; Batchelor et al. 2000, 2004). 
Additionally, demonstrably abiotic structures that could be  confused easily with stro-
matolites have yet to be identified in natural environments (Allwood et al. 2006).

The fact remains that it is very difficult to establish whether a putative stromatolite 
was biogenic. Hence, a variety of different criteria have been proposed for establishing 
the origin of such structures (Buick et al. 1981; Walter 1983). These criteria are 
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discussed in more detail below, but in general, have proven to be very difficult to apply 
to ancient examples. Modern microbialites, on the other hand, can be  attributed to 
biological origin with great certainty, but that certainty decreases with geological age. 
Hence, there has been a clash between philosophical approaches in dealing with 
ancient microbialites. One school of thought championed by many long-time stroma-
tolite workers (e.g., Walter 1976; Awramik and Grey 2005; Awramik 2006) suggests 
that biogenic morphologies can be identified on the basis of setting, morphology and 
composition by analogy to living or clearly biogenic Phanerozoic examples. The other 
school (e.g., Grotzinger and Knoll 1999; Brasier et al. 2002; Lindsay et al. 2003) sug-
gests that all such structures should be considered abiotic unless they can meet exact-
ing, and even unlikely, criteria for biogenicity. Hence, the question comes down to a 
choice of the null hypothesis. Although the ‘everything is abiotic unless proven other-
wise’ philosophical approach may be overkill for the Proterozoic when microbial life 
was clearly established and stromatolites dominated many shallow benthic settings 
(Grotzinger and Knoll 1999), it is a necessity for interpreting the earliest structures that 
might record the presence of life. Once life was established, however, the null hypoth-
esis might be shifted to reflect the fact that life existed and, hence, is the most reason-
able explanation for many stromatolite-like structures. The strict adherence to either 
null hypothesis may be unwarranted, as pointed out by Awramik and Grey (2005), 
owing to the fine line between biotic and abiotic mechanisms of precipitation in micro-
bialites (Riding 1991b; Webb 2001a). Regardless, in order to search for life’s earliest 
record, we must establish reliable biosignatures for microbialites to allow specific 
hypotheses of biogenicity to be tested. The purpose of this chapter is to discuss how 
trace element geochemistry can be used to test the origins of putative microbialites 
preserved as carbonate rocks. A variety of other minerals may form microbialites (see 
Konhauser 2007), including various Fe oxyhydroxides (Bazylinski and Moskowitz 
1997; Konhauser et al. 2002; Anderson and Pederson 2003, Fortin and Langley 2005), 
but we will concentrate on carbonate microbialites only in this chapter.

1.1  How Do Microbialites Form?

Several recent reviews have detailed the types and nature of microbialites and 
 processes responsible for their formation (Monty 1976, 1977; Riding 1991b, 2000; 
Castanier et al. 1999; Dupraz and Visscher 2005; Dupraz et al. 2008). In general, 
microbialites form in two fundamental ways: (1) trapping and binding of ambient 
sediment, and (2) inducing or localizing the precipitation of minerals, typically, but 
not invariably, the carbonate minerals, calcite, aragonite or dolomite. Regardless of 
the mode of formation, microbialite genesis is attributed to the presence of an active 
microbial community or associated organic matter.

In the trapping and binding model of stromatolite genesis (Black 1933; Logan 
et al. 1964), sediment from the local environment is trapped on and between the 
erect filaments of cyanobacteria that are coated by sticky extracellular polymeric 
substances (or exopolymers or exopolysaccharides), which generally are  abbreviated 
to EPS (Fig. 1). Structures formed by trapping and binding were termed  agglutinated 
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stromatolites by Riding (1991b) and include the modern stromatolites of Shark Bay, 
Western Australia, which consist of trapped and bound pelloids, mollusk shells and 
quartz sand (Logan 1961; Logan et al. 1964), and Bahaman stromatolites, which 
consist of trapped and bound ooids (Dravis 1983; Dill et al. 1986). Although these 
structures accreted from ambient particulate sediment, modern examples are lithified 
relatively quickly on the sea floor (Logan 1961; Reid and Browne 1991; Reid et al. 
2000), and rapid lithification is probably a prerequisite for preservation of aggluti-
nated stromatolites in most shallow environments owing to the common reworking 
of sediment during high energy events (Krumbein et al. 1994). The rapid lithification 
of Bahaman stromatolites has been attributed to a variety of microbial activities, 
including even boring by endoliths wherein early (concomitant) cementation within 
individual microbial borings bridged the gaps between sediment grains, thus 
cementing them together (Macintyre et al. 2000; Reid et al. 2000). Agglutinated 
stromatolites may be laminated owing to a variety of biological processes within the 
microbial mats, including the diurnal behavior of cyanobacteria and ecological 
 succession, and/or episodic sedimentation or cementation events (Monty 1976). 
Where trapped and bound sediment is coarse, agglutinated stromatolites can be 
 recognized easily, but where trapped and bound sediments are limited to very fine 
carbonate mud, they may be difficult to distinguish from stromatolites formed 
 primarily by precipitation of microcrystalline carbonate. Even where agglutinated 

Fig. 1 Schematic diagram of trapping and binding model of stromatolite accretion (after Riding 
1991b); (a) and (b) represent a time series wherein microbial filaments trap sediment and cause 
its continuing accumulation beneath the growing mat. Note that the coarsest sediment fraction 
may not be trapped as current or wave energy may be adequate to remove it from the ‘sticky’ 
filaments
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stromatolites occur within relatively coarse ambient sediment, they may be capable 
of accumulating only the fine sediment that more easily adheres to filaments. Coarse 
sediment in such environments may be removed from the structures by water agita-
tion (Riding 1991b). Hence, agglutinated micritic sediments could form amidst 
courser ambient sediment, and thus, petrography alone may not distinguish aggluti-
nated from precipitated microbialites where micritic textures are concerned.

Ever since Black (1933) described intertidal soft microbial mats from Andros 
Island, Bahamas, as potential stromatolites, the concept of agglutinated stromatolites 
has been well enshrined in geological literature and thinking (Monty 1977). However, 
the original stromatolites of Kalkowsky (1908) were clearly rigid,  precipitate-dominated 
structures, and it has become increasingly apparent that  mineral precipitates are the 
more important factor in microbialite genesis (Riding 1991b). Many authors have 
produced schemes to distinguish the types of precipitates and mineralization  processes 
that form microbial carbonates (Krumbein 1986; Riding 1991b; Webb 1996, 2001a; 
Dupraz and Visscher 2005; Visscher and Stolz 2005; Dupraz et al. 2008). Riding 
(1991b) differentiated calcification (i.e., replacement) of EPS, which he termed ‘biom-
ineralization,’ from mineral precipitation on or exterior to EPS, which he termed 
‘mineralization,’ with the implication that the former was driven by microbial metabo-
lism, whereas the latter was more physico-chemical (i.e., abiotic) in nature, although 
presumably localized by biofilms. Webb (1996, 2001a), following Lowenstam and 
Weiner (1989), separated Riding’s (1991b) ‘biomineralization’ into biologically 
 controlled ‘enzymatic’ secretion of mineral skeletons and the incidental induction of 
mineral precipitates and  suggested that ‘enzymatic’ versus ‘non- enzymatic’ processes 
formed the primary distinction in precipitation mechanisms with microbialites repre-
senting non-enzymatic  precipitation. Webb (1996, 2001a) noted that non-enzymatic 
biomineralization represents a continuum from the direct calcification of EPS through 
to the localization and/or enhancement of precipitation of cements that, once nucle-
ated, are  morphologically identical to abiotic precipitates. Hence the degree of biologi-
cal influence within that continuum correlates to some degree with the microstructure 
of the resulting microbialite. Greater or more proximal biological influence leads to 
the formation of identifiable microfossils (i.e., calcimicrobes), whereas less direct 
influence may enhance cement precipitation rates only or localize precipitation by 
promoting nucleation, thus forming micritic microbialites and biocementstones that 
lack identifiable microfossils (Webb 2001a, his Fig. 2). Défarge and Trichet (1995) 
distinguished ‘biominerals’ formed by direct association with living bacteria and 
‘organominerals,’ which formed on dead organic matter, and Reitner (1993) pointed 
out that many precipitates in modern marine ‘microbialites’ resulted from the degrada-
tion of sponges and other multi-cellular eukaryotes (e.g., mucus from bivalves, 
Braithwait et al. 2000; and corals, Reitner 2005). As a result, Neuweiler and Reitner 
(1993) and Reitner et al. (1995) suggested that the term ‘automicrite’ should be used, 
rather than microbialite or organomineral, where the source of organic matter that 
played a role in the induction of precipitation was not clear. Perry et al. (2007) 
 re-introduced the term ‘organomineral’ for basically the same concept as originally 
suggested by Défarge and Trichet (1995), but with subtle differences (Défarge et al. 
2009). In the latest review, Dupraz et al. (2008) restricted biomineralization to 
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 biologically-controlled mineralization (in the sense of Lowenstam and Weiner 1989; 
and equivalent to enzymatic precipitation of Webb 1996) and  utilized organomineral-
ization to encompass biologically-induced mineralization, which they defined as 
requiring direct metabolic activity of microbes, and biologically-influenced mineral-
ization, which they considered to be precipitation that is passively driven by ambient 
water chemistry, but with nucleation on or in living or dead organic matter (see Dupraz 
et al. 2008, their Fig. 2). Semantics aside, there can be no exact demarcation between 
precipitates that were formed directly as a consequence of microbial activity and those 
that precipitate for ambient physicochemical reasons alone; the processes form a 
continuum. That continuum is affected by the degree to which precipitation occurs 
within microenvironments (more on this below), and microbes may still be essential 

Fig. 2 Schematic diagram showing relative position of mineralization in microbialites. Note that 
where precipitation does not proceed far enough prior to the degradation of organic matter, pre-
cipitates may be distributed as fine sediment (mud and silt). (a) Precipitation on organic surfaces 
may lead to the formation of rigid crusts. (b) Precipitation replacing organic matter may produce 
calcimicrobes or unidentifiable three-dimensional structures. (c) Precipitation within complex 
biofilms or mats may produce felts of more or less randomly oriented crystals that have a poorly 
organized or massive micritic texture
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for precipitation of some structures even in  settings where carbonates would be 
expected to form for physico-chemical reasons alone (Shiraishi et al. 2008).

Although, the nomenclature associated with mineral precipitates in microbialites 
is by no means stable, the two fundamental factors associated with mineral precipita-
tion in microbialites are: (1) processes that drive up the local carbonate saturation 
index, i.e., an ‘alkalinity engine,’ and/or (2) enhancement of nucleation through pro-
vision of organic templates in fresh or degraded EPS or directly on microbial cell 
surfaces (see the review in Dupraz et al. 2008). A third factor that may also be impor-
tant is the biological removal of precipitation inhibitors (Webb 2001a), as many 
organisms produce extracellular products to inhibit calcification (Westbroek et al. 
1994) and shallow tropical seawater is already abundantly supersaturated with regards 
to calcite and aragonite (Lyakhin 1968). This could include biological utilization of 
P-bearing compounds or biological degradation of Ca2+-binding organic matter.

Cyanobacteria are commonly considered the dominant microbes in stromato-
lites, but much microbial calcification is driven by heterotrophs (Krumbein 1979; 
Reitner 1993; Paerl et al. 2001; Dupraz et al. 2008). Important metabolic processes 
that may increase local carbonate saturation include, but are not limited to, photo-
synthetic removal of CO

2
 (Golubic 1972; Merz 1992; Merz et al. 1995; Arp et al. 

2001) and anaerobic sulfate reduction (Krumbein 1979; Lyons et al. 1984; 
Baumgartner et al. 2006). Many others have been described (e.g., Castanier et al. 
1999), and decay processes, such as generation of NH

3
 due to ammonification, also 

drive pH higher (Berner 1968; Krumbein 1979; Reitner 1993). The roles of EPS in 
regulating and controlling nucleation of minerals in active biofilms and in dead 
organic matter are very complex, but are becoming better understood (Decho et al. 
2005; and see review in Dupraz et al. 2008). Regardless, clear relationships exist 
between the distribution of organic matter and the nucleation of particular minerals 
in biofilms (Fig. 2). In some cases, nucleation occurs within organized EPS such 
that resulting mineral growth is confined to the EPS in the sheaths of cyanobacteria 
(Merz et al. 1995) or possibly capsular mucilage of coccoid bacteria. This would 
be equivalent to the ‘biomineralization’ of Riding (1991b) and ‘internal impregna-
tion’ of Riding (1991a). Provided mineralization proceeds far enough before the 
organic matter is degraded and redistributed, the result will be identifiable calcimi-
crobes, such as Girvanella in the case of filamentous microbes or Renalcis (Fig. 3a), 
for example, in the case of colonies of coccoid bacteria. Where mineralization does 
not proceed very far, crystals may remain isolated, becoming carbonate mud or silt 
in the local environment (Figs. 2 and 3b). Where mineral precipitation occurs on 
the surfaces of organic matter, either EPS or cellular surfaces, a variety of more or 
less organized crusts may form (Figs. 2 and 3c). This would be morphologically 
equivalent to ‘mineralization’ of Riding (1991b) and ‘external encrustation’ of 
Riding (1991a), although it still may represent microbially-induced precipitation. 
As the complexity of the microbial biofilm or mat increases, the interplay of min-
eralization within or on pristine or heavily degraded EPS also becomes increasingly 
complex making micritic microbialites with complex or poorly organized structures 
that might be mistaken for the results of trapping and binding of carbonate mud 
(Figs. 2 and 3d).
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1.2  Biosignatures in Microbialites

The difficulty in selecting and applying criteria for the identification of  microbialites 
has led to a need to identify additional biosignatures in ancient rocks (Awramik and 
Grey 2005; Ohmoto et al. 2008). Buick et al. (1981) listed eight specific criteria to be 
applied in identifying stromatolites. These criteria can be reduced to four sets of 
criteria that apply to other types of microbialites as well. They include: (1) the struc-
tures must have formed in an appropriate environment (synsedimentary structures in 
a sedimentary environment for example); (2) the gross morphology is consistent with 
biological stromatolites (or other microbialites); (3) the micromorphology is consis-
tent with biogenic structures (in the case of stromatolites, laminae thicken over crests 
and show wavy to crinkly texture at various wavelengths); and (4) the structures 
contain fossil microbes with preserved community-related distributions consistent with 

Fig. 3 Examples of microbialite microstructure types shown in Fig. 2. (a) Thin section photomi-
crograph of calcimicrobe Renalcis wherein capsular EPS was calcified around presumably coc-
coid bacteria colonies, from Devonian reef complex, Canning Basin, Western Australia; scale bar = 
500 mm. (b) Scanning electron microscope photomicrograph of isolated calcite crystals nucleated 
on microbes or EPS masses (now shriveled) in surface biofilm from modern microstromatolite in 
beachrock, Heron Island, Australia; scale bar = 20 mm. (c) Scanning electron microscope photo-
micrograph of crust formed by nucleation of aragonite crystals on organic surface (now missing) 
at small arrows. Also note calcified filament (large arrow) occupying cavity below aragonite crust 
within modern microstromatolite in beachrock, Heron Island, Australia; scale bar = 10 mm. (d) 
Scanning electron microscope photomicrograph of randomly oriented aragonite crystals precipi-
tated in situ in complex, irregular biofilm in beachrock, Heron Island, Australia; scale bar = 10 
mm (b, c, and d after Webb et al. 1999)
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their having constructed the  structure (as opposed to being distributed as incidentally 
trapped microbes from the ambient environment). Identification of the depositional 
environment for putative microbialites can be accomplished using basic sedimentol-
ogy and geochemistry (including trace element geochemistry), and specific examples 
of those applications are discussed below. Gross morphology is a more complicated 
issue. As previously noted, computer simulations are capable of reproducing some 
stromatolite morphologies (both gross structure and lamination) without the need for 
biological factors (Grotzinger and Rothman 1996). However, abiological benthic 
marine structures that could be confused easily with biogenic stromatolites using the 
criteria above have not been demonstrated convincingly. Hence, ‘abiotic stromato-
lites’ remain primarily in the realms of computer models. Micromorphology consis-
tent with biogenic structures can be a difficult criterion to apply owing to subsequent 
diagenetic alteration, especially including recrystallisation. However, even before 
that, the texture of stromatolite laminae may vary depending on the relative timing of 
organic decay relative to initial calcification (Knoll and Semikhatov 1998).

The fourth set of criteria is also complicated and, importantly, many unquestion-
able stromatolites do not preserve life-oriented fossil microbes (Walter 1994; 
Grotzinger and Knoll 1999). This partly reflects stromatolite construction from meta-
stable carbonate minerals that readily recrystallize during diagenesis (Golubic and 
Hofmann 1976; Walter et al. 1988; Grotzinger and Knoll 1999; Bartley et al. 2000), 
but also the rapid recycling of organic matter within microbial biofilms (Bartley 
1996). Microfossils can be preserved in such rocks, including the calcimicrobes dis-
cussed previously, but even where calcimicrobes occur, they may become unrecog-
nizable and grade into micrite laterally at fine spatial scales due to subsequent 
diagenetic alteration or inadequate calcification from the outset (Merz 1992; Pratt 
1995; Turner et al. 2000; Webb 2001b). Preservation of microfossils in stromatolites 
generally reflects a fortuitous diagenetic event, such as early silicification (e.g., Lee 
and Golubic 2000). Hence, in most microbialites it is unrealistic to expect microbe 
fossils to be present. Some microbialites even grow in such a way as to preclude the 
formation of microbial fossils in the first place. Agglutinated microbialites may be 
too course to preserve microfossils and even fine-grained microbialites may not con-
tain them. For example, the microstructure of Holocene thrombolites that formed in 
cryptic settings in cavities in reef rock in the Great Barrier Reef continually evolved 
during the growth of the structure (Webb et al. 1998). Initial deposits were thin, 
smooth sheets that replaced degraded EPS layers at the base of a biofilm. However, 
through time, these films acted as nucleation sites for larger high-Mg calcite scaleno-
hedra, which increased in size during the life of the film, thus obscuring the original 
smooth sheets (Fig. 4). The result is an irregular crystalline microstructure that is very 
similar to what are presumed to be abiotic high-Mg calcite cements (Macintyre 1977). 
No physical trace of microbes was preserved in the structures, and the growth of 
scalenohedra halted once the biofilms died, thus preserving the full sequence of micro-
structures from top to base. The high degree of preservation suggests that the structures 
were not altered by subsequent diagenetic processes (i.e., early marine cementation) 
and that ongoing precipitation of the scalenohedra was induced by the overlying bio-
film (Webb et al. 1998). Modern micritic microbialites also form from aragonite. 
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Aragonite micro-stromatolites in beach rock contain spaces that once hosted 
microbes, but the lack of well defined edges on these spaces would hinder their rec-
ognition in the rock record, especially after recrystallization (Fig. 3d). Hence, adher-
ence to the criterion of preserved microbes in, or out, of growth position automatically 
excludes many otherwise demonstrably biogenic structures. On the other hand, some 
abiotic microstructures are capable of mimicking fossil microbes (García-Ruiz 2000), 
further complicating the criterion. For those reasons, Walter (1994) de-emphasized 
criteria relating to preservation of microbial fossils and replaced them with a chemical 
criterion; microbialites should have an appropriate chemical composition (e.g., a 
calcium carbonate polymorph in a normal marine setting). Regardless, while some 
morphological features can be used to definitively establish the biogenicity of some 
microbialites (e.g., calcimicrobes at the microscopic scale up to coniform morpholo-
gies at macroscopic scales), additional biosignatures are required.

2  Trace Element Geochemistry and Microbialites

A variety of chemical biosignatures have been investigated in ancient, putative 
microbialites. Where preservation is adequate, C isotopes have been used to distin-
guish co-occurring microbial from non-microbial components of limestones (Des 
Marais et al. 1989; Guo et al. 1996; Schidlowski 2001; Stephens and Sumner 2002; 
Andres et al. 2005). However, preservation is commonly not adequate to preserve 
such signatures in the carbonate portion of Precambrian stromatolites owing to 
diagenetic alteration. Sulfur isotopes are also useful (Cameron 1982; Shen et al. 

Fig. 4 Scanning electron microscope photomicrographs showing the end-members of micro-
structure in cryptic microbialites formed in cavities in reef framework, Holocene, Heron Reef, 
Australia (after Webb et al. 1998). (a) Smooth, amorphous to very finely crystalline Mg-calcite 
replacing the basal EPS layer of the surface biofilm; scale bars = 100 mm. (b) Coarser scalenohe-
dral Mg-calcite nucleated from smooth crusts within cavities well below the surface of the micro-
bialite. Consistent preservation and distribution of both calcite morphologies within the 
microbialites suggest that scalenohedra growth was induced beneath the biofilm by an active 
microbial alkalinity engine and that precipitation ceased after growth of the microbial community 
terminated. If the scalenohedral Mg-calcite represented secondary inorganic cement it would be 
expected to occur on the most recent smooth crusts as well
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2001; Shen and Buick 2004; Philippot et al. 2007) and organic biomarkers are 
 valuable potential biosignatures in modern and ancient rocks (Brocks et al. 1999, 
2003; Neilan et al. 2002; Derenne et al. 2008). However, in both cases preservation 
problems can render them useless and this is especially a problem for older Archean 
sequences that commonly have undergone at least low grade metamorphism.

Trace element geochemistry can be used to help establish biogenicity of putative 
microbialites in two main ways. Firstly, trace element geochemistry is invaluable 
for helping establish the type of fluid from which a mineral precipitated, and thus, 
for establishing the depositional setting of a putative microbialite (i.e., the first set 
of criteria of Buick et al. 1981 and Walter 1994). Secondly, bioactive trace elements 
may be sequestered and preserved in microbialites providing direct evidence not 
only of the presence of biofilms or microbes, but of specific metabolic pathways 
(Webb and Kamber 2004). Transition metals bind tightly to the organic ligands in 
EPS (Geesy and Jang 1989), and their ability to bridge between two or three adja-
cent exopolymer molecules may provide structural strength to biofilms by increas-
ing the cohesiveness of the EPS (Parker et al. 1996, Decho 2000). Additionally, 
most of the inner transition elements (specifically from V to Zn) and heavier ele-
ments such as Mo are cofactors or parts of cofactors for enzymes or structural ele-
ments in proteins, thus being essential trace nutrients for organisms (Silver 1983, 
1997; Ledin 2000; Rosen 2002; Cavet et al. 2003; Leão et al. 2007). Microbes in 
particular utilize a wide variety of metals in their diverse metabolic pathways aside 
from use as redox reagents, including for example, V in nitrogenase (i.e., VNase, 
an enzyme used for nitrogen fixation), Mn in thylakoidal water-splitting oxygen-
evolving complex, Fe in hydrogenase, Co in cobalamin and carbonic anhydrase, Ni 
in [NiFe]-hydrogenase and as a cofactor in methyl-CoM reductase, Cu in thylakoi-
dal plastocyanin, Zn in a-, b-, and g-carbonic anhydrase, and Mo in heterocystous 
nitrogenase (Nealson 1983; Ankel-Fuchs and Thauer 1988; Butler 1998; Fraústo da 
Silva and Williams 2001; Cavet et al. 2003; Morel and Price 2003; Giordano et al. 
2005; Jaun and Thauer 2007). Even Cd can be used in carbonic anhydrase (Lee 
et al. 1995). Microbes also sequester toxic elements so as to detoxify their local 
environments (Silver 1997; Tebo and Obraztsova 1998; Ledin 2000; Fraústo da 
Silva and Williams 2001; Ehrlich 2002; Worms et al. 2006; Konhauser 2007), and 
Decho (2000) noted that the concentration of transition metals in biofilms generally 
decreases in the direct vicinity of cells. Importantly, different groups of microbes, 
both prokaryote and eukaryote, utilize various metals in different ways and in 
 different fundamental ratios (e.g., Quigg et al. 2003). Hence, the accumulation of 
such elements out of equilibrium with the ambient environment may provide a 
biosignature, and the ratios of particular metals may provide information about the 
types of organisms that were involved. Additionally, the abundances of such metals 
where concentrated in ancient hydrogenous precipitates may tell us much about the 
evolution of marine biogeochemical cycles owing to the differing availability of 
some elements under differing redox regimes (Ehrlich 2002; Saito et al. 2003; 
Anbar et al. 2007; Konhauser et al. 2009).

Preserved trace element inventories in microbialites may reflect four major 
sources (Fig. 5), which are: (1) biological enrichment in the organic matter of the 
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biofilm itself; (2) the ambient water body; (3) trapped and bound ambient sediment, 
including oxyhydroxides; and (4) younger diagenetic fluids. (1) The first category 
of elements are those that are concentrated in organic matter (living tissue or EPS) 
during the life of the microbes, either as nutrients or as toxic elements that are 
mineralized and sequestered in EPS (e.g., Silver 1997; Ledin 2000; Decho 2000; 
Ferris 2000; Rosen 2002; Konhauser 2007; Pereira et al. 2009). A variety of 
microbes show selectivity in sequestration of metals within EPS (e.g., Micheletti 
et al. 2008), and these elements are of primary interest as potential biosignatures. 
The degree to which elements that are enriched in a biofilm might be preserved in 
the resulting microbialite depends on a variety of factors, including their initial 
concentration, the degree to which organic matter was trapped and preserved during 
mineral precipitation, the ability of the elements to fit directly into the mineral lat-
tice or within lattice defects, the degree of subsequent diagenesis, and the suscep-
tibility of the element to be remobilized during diagenesis. Trace elements may 
become incorporated into the preservable carbonate of a microbialite in several 
ways. Organic matter may be preserved at nanoscales within the carbonate precipi-
tates themselves (Benzerara et al. 2006), just as in eukaryote skeletons (e.g., 
Johnston 1980; Weiner et al. 1983; Przeniosło et al. 2008). Alternately, elements 
that are enriched within the biofilm at the time of mineral precipitation may be 
preserved in the mineral at higher concentrations than would occur from the ambi-
ent fluid alone. Finally, elements may form other insoluble complexes or minerals 
that may become trapped within the growing carbonate (e.g., insoluble sulfides 
precipitating as a result of sulfate reduction). In general, if the elements are enriched 

Fig. 5 Schematic diagram showing potential sources of trace elements in microbialites. Trace 
elements enriched by the microbial community may contain preservable biosignatures, whereas 
trace elements taken up from the ambient fluids may provide environmental signatures. Trace 
elements in ambient sediments are generally contaminants. Although such sediment contamina-
tion may be identifiable on the basis of correlation with immobile elements such as Th, and Zr, 
the high metal concentration common in siliciclastic muds may mask any original biosignatures 
or environmental signatures. Secondary alteration within diagenetic fluids may also contaminate 
or remove biosignatures and/or environmental signatures
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in the local environment of the biofilm, they may be enriched in the resulting 
 microbialite. (2) The second group of elements reflects the chemistry of the 
ambient  water body. Although important bioactive elements may be purposefully 
enriched within the biofilm, ligands in EPS also passively concentrate metallic 
cations from the ambient environment (Geesy and Jang 1989; Stone 1997; Webb 
and Kamber 2000). These elements also may be incorporated directly into the 
growing mineral precipitates but in ratios that reflect their occurrence in the 
 ambient fluid. They may include metals that are not known to have biological 
 significance or function, but they still may be useful for interpreting the deposi-
tional setting of a given microbialite (e.g., the rare earth elements – REE; Webb and 
Kamber, 2000). (3) The third group of elements includes constituents of minerals 
in the ambient sediment load or elements adsorbed to particulate matter including 
clays and organic flocculants in the overlying water column. These elements are 
contaminants in terms of recognizing and interpreting biosignatures. Unfortunately, 
the bioactive inner transition elements commonly have relatively high concentra-
tions in fine siliciclastic detritus (Veizer 1983), sulphides and oxihydroxides of Fe 
and Mn. Hence, contamination of microbialites may mask both biosignatures and 
signatures of the ambient water body, thus restricting such studies to relatively pure 
carbonates (Webb and Kamber 2000; Nothdurft et al. 2004). The common presence 
of immobile elements, such as Zr and Th, in fine siliciclastic detritus typically 
allows for its recognition in a given trace element analysis (Parekh et al. 1977; 
Kamber et al. 2004). Oxi-hydroxides of Fe and Mn may be more difficult to recog-
nize but can be monitored via anomalous concentrations of Fe and Mn. Monitoring 
is especially beneficial where trace element mapping (Hellstrom et al. 2008) can be 
achieved (more on this below). (4) The final category of elements includes those 
that may be introduced subsequently with diagenetic fluids. Deep basinal brines 
may carry transition elements in very high concentrations (e.g., mineralizing fluids) 
and potentially could completely overprint any original geochemical signatures. At 
the same time, diagenetic fluids could mobilize and remove elements from the 
original precipitates, thus altering preserved elemental distributions.

2.1  The Use of Trace Elements to Help Reconstruct 
Environments of Deposition

Rare earth element (REE) geochemistry has proven very useful in distinguishing the 
origin of many hydrogenous precipitates, including carbonate, chert, phosphate and 
banded iron formations (BIF) and some authors have suggested that REEs may 
 provide a bacterial biosignature in BIFs (Takahashi et al. 2005, 2007). The latter 
 possibility is discussed in the section on biosignatures below. Marine REE concentra-
tions are controlled by the balance of different input sources (e.g., terrestrial input 
from continental weathering, hydrothermal input) and elemental scavenging  processes, 
initially in estuaries and later in the ocean, related to depth, salinity, and oxygen levels 
(Elderfield 1988; Piepgras and Jacobsen 1992; Bertram and Elderfield 1993; Holser 
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1997; Kamber and Webb 2001). Combined with Y, the shale-normalized (subscript n) 
REE have a very distinctive pattern in shallow, oxygenated seawater that is character-
ized by: (1) light REE (LREE) depletion relative to heavy REE (HREE); (2) super-
chondritic Y/Ho ratios that range between 40 and 90 (Bau 1996); (3) positive La

n
, Gd

n
 

and Lu
n
 anomalies, of which La

n
 is the most significant; and (4) a negative Ce

n
 

anomaly in the modern ocean that is related to the oxygenation of Ce and removal on 
particle surfaces in oxygenated water (Elderfield 1988; Piepgras and Jacobsen 1992; 
Zhang and Nozaki 1996, 1998). Positive Eu

n
 anomalies also occur in modern seawa-

ter, but they are variable and depend on the shale normalization utilised. They were 
much larger and more consistent in Archean seawater owing to greater hydrothermal 
input (Graff 1978; Derry and Jacobsen 1990; Kamber and Webb 2001) and lack of 
deep ocean ventilation. Archean seawater is also characterized by the lack of the 
negative Ce

n
 anomaly, which is consistent with an anoxic ocean in the Archean (Fryer 

1977; German and Elderfield 1990; Van Kranendonk et al. 2003).
Fresh water REE

n
 patterns are more diverse, generally having relatively smooth 

shale-normalized patterns that: are less LREE depleted than are marine waters – 
enriched in HREE, middle REE (MREE) or more rarely LREE; and have chondritic 
Y/Ho ratios (Goldstein and Jacobsen 1988; Elderfield et al. 1990; Sholkovitz 1992, 
1995; Lawrence et al. 2006; Lawrence and Kamber 2006). However, the pH and 
amount and type of organic matter within the water may alter the balance of LREEs 
to HREEs (Sholkovitz 1992; Tang and Johannesson 2003). Additionally, where fine 
particulate sediment and colloids occur in fresh water it should impart shale-like 
patterns on REE distributions where it is sampled. Hydrothermal waters are also 
diverse and are commonly divided into high- and low-temperature categories. Both 
types have REE&Y distributions that differ from those of marine and fresh waters, 
commonly having LREE enrichment, well developed positive Eu

n
 anomalies, and 

chondritic Y/Ho ratios (Bau and Dulski 1999; Barrat et al. 2000; Wheat et al. 2002). 
Hence, REE&Y have been used to investigate the source, depth and oxygenation 
levels of ancient marine precipitates including BIF (Derry and Jacobsen 1990; 
Alibert and McCulloch 1993; Bau and Möller 1993; Bau and Dulski 1996; Kato 
et al. 1998; Bolhar et al. 2004; Alexander et al. 2008; Frei et al. 2008), chert (Kato 
et al 2002; Sugitani et al. 2002; Hofmann and Bolhar 2007) and carbonates (Kamber 
and Webb 2001; Yamamoto et al. 2004; Komiya et al. 2008). Microbialites in par-
ticular have been shown to serve as robust REE&Y proxies for the water in which 
they grew from the Holocene to the Archean (Webb and Kamber 2000; Kamber and 
Webb 2001; Van Kranendonk et al. 2003; Kamber et al. 2004; Nothdurft et al. 2004; 
Yamamoto et al. 2004; Cabioch et al. 2006; Olivier and Boyet 2006; Bolhar and Van 
Kranendonk 2007). The ability to reconstruct the source waters of mineral precipi-
tates allows testing of independently derived hypotheses (e.g., on the basis of sedi-
mentological context) regarding the settings of putative microbialites.

The broad utility of trace element studies in early life research can be illustrated 
using the controversial early Archean rocks of the island of Akilia, southwest 
Greenland. Mojzsis et al. (1996) used the depletion of 13C in graphite contained 
within phosphate from metamorphic rocks that they interpreted to be metamor-
phosed BIFs from Akilia to suggest that the carbon was organically fixed, thus 
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representing the oldest traces of life on Earth (>3.85 Ga). However, the rocks that 
contain the apatite have been intensely metamorphosed and their protoliths are 
equivocal. Although Mojzsis et al. (1996) did not suggest that the graphite was 
initially part of a microbialite, similar constraints exist on the interpretation of car-
bon isotope ratios as a biosignature for microbialites in general; the 13C depletion 
can be interpreted as a biosignature only if the rocks that contained the original 
carbon were initially sediments and the carbon was deposited with them (e.g., the 
first set of biogenicity criteria mentioned above). Mojzsis and Harrison (2002) used 
REE&Y geochemistry to test the hypothesis that the graphite-bearing Akilia rocks 
were originally hydrogenous BIF and concluded that they were. However, Bolhar 
et al. (2005) used low detection limit solution inductively coupled plasma-mass 
spectrometry (ICP-MS) to acquire more complete REE data sets so as to specifi-
cally compare the Akilia rocks to better preserved metasediments from the nearby 
early Archean Isua Greenstone Belt (IGB). They concluded on the basis of the 
REE&Y

n
 patterns that whereas the early Archaean IGB BIFs contained unequivo-

cal evidence of their seawater origin, the Isua rocks that contained the depleted 13C 
signature in graphite lack critical seawater-like characteristics, such as a positive La 
anomaly. Hence, Bolhar et al. (2005) concurred with Fedo and Whitehouse (2002) 
that the protolith for the Akilia rocks of interest was an ultramafic igneous rock, not 
a sedimentary rock. Hence, trace element geochemistry suggests that the depleted 
13C in the Akilia rocks cannot be used as a biosignature for those rocks.

REE&Y geochemistry also was used to constrain the depositional environment 
of some of the oldest known stromatolites from the early Archean of the North Pole 
Dome area, Pilbara Craton, Western Australia. The oldest known putative stromato-
lites were first described there by Lowe (1980, 1983) and Walter et al. (1980). 
However, the biogenicity of those structures quickly became a matter of debate 
(Buick et al. 1981; Lowe 1994). Subsequently, much better preserved and extensive 
stromatolites were described from slightly higher in the succession in the 3.43 Ga 
Strelley Pool Formation (Hofmann et al. 1999; Allwood et al. 2006). Hofmann 
et al. (1999) provided a convincing argument for biogenicity on the basis of mor-
phology and sedimentary setting, but Lindsay et al. (2003, 2005) disputed their 
interpretation and suggested that the structures were hydrothermal precipitates that 
were unlikely to be biological in origin. Van Kranendonk et al. (2003) tested that 
hypothesis and demonstrated that the structures have seawater-like REE&Y pat-
terns with LREE depletion, a superchondritic Y/Ho ratio and a positive La

n
 anom-

aly, as do associated particulate carbonate sediments that show identifiable 
sedimentary structures. The samples lack a negative Ce

n
 anomaly, as would be 

expected in anoxic Archean seawater. Comparison with unequivocal hydrothermal 
precipitates from the nearby associated Panarama volcano showed very different 
REE&Y patterns consistent with their hydrothermal origin. Hence, the hypothesis 
that the structures were precipitated from hydrothermal fluids (Lindsay et al. 2003) 
was refuted on the basis of REE&Y geochemistry. Seawater-like REE&Y patterns 
have now been documented in marine carbonates throughout the Precambrian and 
Phanerozoic (Kamber and Webb 2001; Bolhar et al. 2004; Shields and Webb 2004; 
Alexander et al. 2008). Subsequently, Allwood et al. (2006, 2007) documented 
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additional stromatolites in the Strelley Pool Formation and showed that their 
 morphology changed in relation to the depositional setting in a way entirely consis-
tent with their having been produced by benthic biofilms.

Several studies have been able to discriminate different water masses and/or dif-
ferences in local sediment inputs on the basis of REE&Y preserved in microbi-
alites. Kamber and Webb (2001) found that stromatolites from deeper settings over 
the edge of the late Archean (2.52 Ga) Campbellrand carbonate platform of South 
Africa had REE&Y

n
 patterns that reflected open marine water with greater LREE 

depletion and better developed Eu
n
 anomalies relative to stromatolites that formed 

on the shallow platform top where mixing of lagoonal and continent-derived waters 
was more prevalent. Nothdurft et al. (2004) were able to clearly discriminate the 
REE&Y signatures of open marine waters preserved in Devonian calcimicrobes 
from isolated platform reefs on the Lennard Shelf, Canning Basin, Western 
Australia from near-shore runoff-rich waters that bathed calcimicrobes in continen-
tal fringing reefs. A similar pattern was discerned in Holocene microbialites from 
reefs in Vanuatu (Cabioch et al. 2006). In that case, microbialites from Urélapa 
Reef, which is isolated offshore of Espiritu Santo, and microbialites in the 
Tasmaloum Reef, which fringes the volcanic island itself, show a trend of increas-
ing REE concentration, increased positive Eu

n
 anomaly and decreased Y/Ho ratio 

from offshore to onshore. Such a trend is consistent with increasing contamination 
from runoff from weathering volcanic rocks on Espiritu Santo. In a somewhat spe-
cial case, Frimmel (2009) showed that the REE&Y geochemistry of Neoproterozoic 
cap carbonates, including stromatolites, in southwestern and central Africa varied 
systematically with proximity to the interpreted paleocoastline. Cap carbonates 
were widely deposited immediately above glacial deposits during the Neoproterozoic, 
and may represent an initial pulse of high alkalinity resulting from the chemical 
weathering of finely ground rock in high-CO

2
 atmosphere during deglaciation 

(Hoffman et al. 1998), although alternative interpretations have been advanced 
(e.g., Kennedy et al. 2001; Young 2002; Le Hir et al. 2009). Relatively flat REE&Y

n
 

patterns that lack well developed La
n
 anomalies and superchondritic Y/Ho ratios in 

the near-shore settings were found not to reflect direct contamination by incorpo-
rated siliciclastic detritus, but were interpreted to represent the incorporation of 
near-shore colloids that had high-concentration shale-like REE&Y distributions. 
Farther offshore the patterns became more seawater-like with LREE depletion, 
positive La

n
 anomalies and superchondritic Y/Ho ratios (e.g., see Frimmel 2009, his 

Fig. 9). Although an isolated, hydrothermally affected lake could not be excluded 
for carbonates in the Roch Pina Formation, Frimmel (2009) interpreted most of his 
analyzed carbonates as near-shore marine fringing stromatolite reefs.

The interpretation of lake settings based on REE&Y geochemistry is compli-
cated. Modern river waters commonly have variable, but relatively smooth, unfrac-
tionated REE&Y

n
 patterns (Goldstein and Jacobsen 1988; Elderfield et al. 1990; 

Lawrence et al. 2006). However, as noted by Lawrence et al. (2006), there are very 
few complete, high quality fluvial REE&Y datasets. Lakes and inland seas have 
even more variable geochemistry owing to differences in size, input sources, strati-
fication and the degree to which aqueous scavenging processes affect the initial 
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source inventories; they too suffer from a paucity of high quality data sets. 
For example, Lake Tanganyika has seawater-like LREE depletion whereas Lake 
Naivasha does not (Bolhar and Van Kranendonk 2007, their Fig. 5; data from Barrat 
et al. 2000; Ojiambo et al. 2003). A stromatolite from the Eocene Green River 
Formation of the United States was found to have only slight LREE depletion and 
lacks both a positive La

n
 anomaly and a superchrondritic Y/Ho ratio (Bolhar and Van 

Kranendonk 2007). On the basis of REE&Y patterns, Bolhar and Van Kranendonk 
(2007) interpreted stromatolites in the Fortescue Group of Western Australia (2.78–
2.63 Ga) to have been deposited in an epicontinental lacustrine  setting. Samples 
from the Jeerinah Formation have prominent MREE enrichment and lack well devel-
oped La

n
 anomalies and superchrondritic Y/Ho ratios, thus being very unlike 

 contemporary seawater, but somewhat similar to MREE-enriched rivers reported by 
Elderfield et al. (1990). However, the average Tumbiana Formation REE&Y

n
 pattern 

(Bolhar and Van Kranendonk 2007, their Fig. 8) does have a positive La
n
 anomaly 

and LREE depletion, but still lacks a superchondritic Y/Ho ratio. Hence, the 
Tumbiana patterns are similar to those interpreted as representing both rivers 
(Elderfield et al. 1990) and near-shore marine carbonates that were contaminated by 
terrestrially derived colloids (Frimmel 2009). Hence, additional work may be 
required to interpret and differentiate some lacustrine and estuarine settings. 
Regardless, definitive isolated epicontinental water bodies have been recognized on 
the basis of REE&Y geochemistry in stromatolites. Archean (~2.84 Ga) stromato-
lites from the Masvingo Greenstone Belt in the Mushandike National Park, 
Zimbabwe have REE&Y patterns with characteristic marine features such as posi-
tive La

n
 and Gd

n
 anomalies and superchondritic Y/Ho ratios, but they are enriched 

in LREE and lack the prominent Eu
n
 anomaly typical of open Archean seawater 

(Kamber et al. 2004). However, if the REEs are normalized to the local tonalite 
gneiss weathering source, a LREE depleted REE&Y

n
 pattern more typical of aque-

ous scavenging is produced. Hence, Kamber et al. (2004) interpreted the stromato-
lites to have grown in a small basin isolated on older Archaean continental crust with 
little or no confluence with contemporary open marine waters. That conclusion was 
supported with Pb-isotope data from the stromatolites, which resembled closely the 
very distinctive character of the Zimbabwe Craton as a whole.

2.2  Effect of Microenvironments on Trace Element Inventories

The use of trace element patterns to interpret depositional environments requires 
that the preserved elemental inventories are representative of those of the ambient 
environment. However, microbialites to varying degrees represent microenviron-
ments that may or may not reflect the same chemistry as the ambient water bodies 
in which they formed. Even the EPS sheaths of individual microbes set up diffusion 
gradients that isolate the living cells from the ambient chemical environment, and 
the diffusion pathways become more extended and complicated with depth in more 
complex biofilms and microbial mats. Decho (2000) suggested that differences in 
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the types and distribution of EPS within biofilms set up ‘microdomains’ with 
 different physical and chemical attributes. Such microdomains regulate pH as well 
as the concentration of O

2
, compounds of N and S, and metals (nutrients and toxins) 

in a variety of sedimentary environments (e.g., Revsbech et al. 1983; Wimpenny 
and Kinniment 1995; Stockdale et al. 2009). In more complex biofilms and micro-
bial mats, depth within the structures isolates a variety of microenvironments, most 
notably evident from differences in oxygenation levels (see review in Konhauser 
2007, Chapter 6). Communities of facultative and obligate anaerobes may occur 
within millimeters of biofilm surfaces in fully oxygenated, exposed benthic settings 
(Revsbech 1989; Wimpenny and Kinniment 1995; Baumgartner et al. 2006). As 
microbial activity is increasingly confined in pore spaces and cavities (crypts) 
within larger structures, such as large microbialites or reefs, the fluids bathing the 
confined biofilms may be considerably evolved from ambient waters that reflect the 
broader depositional environment. Regardless, the growth of a microbialite (bio-
logically induced or influenced precipitation) requires a continual influx of ambient 
water into the microenvironment to provide adequate ions for mineral growth. 
However, the degree to which the setting represents a microenvironment with effec-
tive diffusion barriers may determine the degree to which the preserved geochemi-
cal proxies reflect the chemistry of waters in the ‘external’ ambient environment.

Microbially mediated microenvironments have been well documented in modern 
marine settings. For example, Nothdurft et al. (2005) documented the formation of 
brucite [Mg(OH)

2
] in microenvironments in normal shallow seawater. Brucite gener-

ally forms in solutions with pH above nine (Jordan and Rammensee 1996) and is 
significantly undersaturated in shallow seawater. However, it precipitates in microen-
vironments confined within the abandoned spaces of living coral skeletons in modern 
reefs (Nothdurft et al. 2005; Buster and Holmes 2006) owing to chemical evolution 
of the seawater within the pore system driven by the activities of microbial endobi-
onts. Although pore waters were exchanged frequently owing to tidal and wave-
pumping, phototrophs within the coral skeleton (cyanobacteria and filamentous green 
algae) removed CO

2
, thus increasing the pH of the semi-confined fluid within the 

cavities and supporting precipitation of aragonite and lowering of the Ca2+ activity. 
Then pH may be driven higher by microbial degradation of organic matter, including 
ammonification, or by utilization of HCO

3
− for cyanobacterial photosynthesis using 

carbonic anhydrase (Badger and Price 2003), thus liberating excess OH− (Nothdurft 
and Webb 2009). Regardless of the exact mechanism, the brucite could not have 
grown in ambient seawater without extensive evolution of the local water chemistry 
by microbes within the semi-confined cavities of the coral skeleton.

Another significant example of microbially-mediated microenvironments lead-
ing to precipitation of an unexpected mineral in marine carbonates is the occurrence 
of low-Mg calcite (LMC) within enclosed microbial borings in living coral skele-
tons (Nothdurft et al. 2007). LMC is not favoured to precipitate in marine carbon-
ates owing to the high Mg:Ca ratio of seawater (e.g., Bischoff and Fyfe 1968; Folk 
1974; Berner 1975). LMC generally precipitates from fresh (meteoric) waters, 
which mostly have low Mg:Ca ratios (Drever 1997), and thus is generally 
considered  prima facie evidence of meteoric diagenesis. Abiotic marine carbonates 
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are generally either aragonite or high-Mg calcite (HMC). In the case of coral 
 skeletons from the reef flat of Heron Reef, Great Barrier Reef, migrating coccoid 
cyanobacteria excavated borings within skeletal aragonite at one end, while 
 concomitantly back-filling the borings with LMC. Calcification behind the migrat-
ing microbe generated protons that allowed photosynthesis utilizing HCO

3
−, which 

was generated by dissolution on the other side of the microbe. However, because 
the Mg:Ca ratios within the microenvironment of the boring reflect those of the 
dissolving aragonite, rather than ambient seawater, they are very low and calcite is 
the favoured precipitate within the boring (Nothdurft et al. 2007). A case can be 
made that the precipitation of calcite in the borings is biologically controlled pre-
cipitation as it probably requires direct enzymatic activity by the microbes. If the 
microbes actively transport Ca2+ through the microbe to the site of precipitation 
utilising Ca-proton exchanging ATPase (e.g., Driessen and Konings 1986) in order 
to provide protons for converting HCO

3
− to CO

2
 and H

2
O using carbonic anhydrase 

(Badger 2003; Badger and Price 2003), the precipitation is being driven by direct 
enzymatic activity. Regardless, the occurrence of calcite rather than aragonite 
directly reflects the non-seawater-like Mg:Ca ratio of the fluid within the highly 
confined microenvironment despite the ambient environment being seawater.

Another complication associated with microenvironments concerns the proximity 
of precipitation to the ‘driver’ of that precipitation (i.e., the alkalinity engine). In 
relatively enclosed environments where the local saturation state for a given mineral 
has been driven up by microbial activity, abiotic mineral substrates may support 
mineral growth that is not necessarily proximal to the microbial community that 
increased the alkalinity. Precipitates produced in this way may be morphologically 
identical to abiotic cement. Such processes could occur in the interstices of aggluti-
nated stromatolites or fenestrae in micritic stromatolites, but have been demonstrated 
within abandoned interseptal spaces in modern scleractinian coral skeletons 
(Nothdurft and Webb 2009). There aragonite cement has a very patchy distribution, 
commonly nucleating on organic filaments (Fig. 6a), but also growing syntaxially on 
denuded coral skeleton aragonite (Fig. 6b). The irregular distribution and volume of 
the cements suggest that they were not the products of passive marine cementation, 
but that local endolithic-endobiont microbial communities and possibly also boring 
sponges increased the carbonate saturation index in some interseptal spaces relative 
to others and the aragonite either nucleated on microbial organic matter or grew 
syntaxially on existing aragonite surfaces. Without the biological activity (e.g., alka-
linity engine), the cement may not have precipitated at all. Hence, in relatively 
enclosed environments it may be impossible to distinguish between biologically-
influenced and inorganic mineralization as defined by Dupraz et al. (2008).

Hence, microbialites represent mineral precipitation in a wide spectrum of 
microenvironments, encompassing: envelopment by EPS sheaths in open benthic 
settings; stratified microbial mats; containment within semi-confined cavity sys-
tems; and highly confined endolithic settings (Fig. 7). The degree to which the 
geochemistry of the microbialites reflects the ambient water chemistry may vary 
accordingly. In the case of REEs, empirical evidence suggests that fluids in the 
microenvironments in shallow Holocene reef cavities did not evolve away from 
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Fig. 6 Scanning electron photomicrographs of aragonite cements within microenvironments 
contained in porous coral skeletons; scale bars = 100 mm. (a) Acicular aragonite cement nucleated 
on organic filaments (white arrows) within abandoned interseptal space. Note that aragonite 
cements are confined to elongate filaments. (b) Abundant aragonite cement nucleated syntaxially 
on skeletal aragonite of coral within abandoned interseptal space

ambient seawater in regards to elemental ratios (Webb and Kamber 2000). The 
same appears to be the case for Devonian Renalcis, some of which grew in reef 
cavity systems (Nothdurft et al. 2004). Regardless, compared to eukaryote skele-
tons (Sholkovitz and Shen 1995; Webb and Kamber 2000; Akagi et al. 2004; 
Wyndham et al. 2004) and aragonite precipitated directly from water (e.g., Barrat 
et al. 2000), microbialites are greatly enriched in REEs, thus making them an espe-
cially robust seawater proxy. The lack of agreement between theoretical, experi-
mental and empirical REE partition coefficients between fluids and carbonates 
(Terakado and Masuda 1988; Zhong and Mucci 1995; Barrat et al. 2000; Webb and 
Kamber 2000; Tanaka and Kawabe 2006) suggests that it currently may not be pos-
sible to back-calculate the concentrations of the elements in ancient seawater on the 
basis of elemental concentrations of REEs in ancient microbialites (e.g., Yamamoto 
et al. 2004; Komiya et al. 2008), but the elemental ratios are preserved.

2.3  Bioactive Metal Accumulation

Whereas the use of trace element proxies to interpret depositional environments of 
ancient microbialites requires that elements were incorporated quantitatively from the 
fluid into the microbialite, the search for biosignatures using bioactive transition ele-
ments requires that they be incorporated out of equilibrium with the ambient fluid 
environment (i.e., enrichment). Despite the importance of trace metals for biological 
processes, few studies have attempted to analyse potential bioactive trace elements in 
microbialites, and this partly reflects the analytical difficulty in measuring transition 
elements at very low abundances in carbonate matrices (Kamber and Webb 2007). 
Webb and Kamber (2004) used solution ICP-MS to show that Holocene reefal micro-
bialites from the Great Barrier Reef have elevated Cr and V concentrations relative to 
associated skeletal carbonates, such as scleractinian  corals, mollusks and coralline red 
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algae, and in ratios that do not reflect abundances in seawater. Additionally, the high 
Cr and V concentrations were not sourced from detrital contaminants, and normaliza-
tion of the elements to nutrient (Ba) and conservative (Sr) elements, suggests that the 
differences in elemental abundance are robust and that Cr and V concentrations in 
microbialites vary from those expected in abiotic cements. Although high Cr concen-
trations may result from microbial mineralization of the element to insoluble forms 
in order to detoxify the local  environment, V enrichment could reflect a variety of 

Fig. 7 Diagram showing relationship between depositional settings and microenvironments 
where microbialites form. The alkalinity source shifts from dominantly extrinsic, ambient fluid 
sources to more biologically driven sources as the degree of confinement increases down the 
diagram. Precipitate types are the same as those shown in Fig. 2 with the addition of crusts pre-
cipitated on existing mineral substrates (diagonal lines). The effectiveness of the biological alka-
linity engine increases from mineralization of surfaces to replacement of organic mater and finally 
precipitation within an enclosed biofilm. Likewise the role of the biological alkalinity engine 
increases with increased confinement. Nucleation enhancement is dependent primarily on the site 
of precipitation within a given microbialite. Geochemically, the precipitates range from inorganic 
minerals to fully enzymatically controlled (biologically controlled) minerals in a continuum that 
reflects increasing levels of fluid evolution away from ambient fluids with more enclosed settings 
and more complex biofilms
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microbial activities (Fraústo da Silva and Williams 2001). Elevated V could also 
reflect incorporation of eukaryote  ascidian spicules into the microbialite because 
ascidians concentrate V in tunichrome blood pigments (Michibata et al. 1998). 
Ascidians are common inhabitants of reef cavities and their spicules occur in the 
sampled Heron Reef microbialites. However, Webb and Kamber (2008) subsequently 
used laser ablation (LA) ICP-MS to analyse the V concentration of the microbialites 
and, through time series data analysis, found that the V is not concentrated in spic-
ules, but is disseminated throughout the microbial carbonate. Hence, V originally 
may have been concentrated within the cavities by ascidians and then released during 
their decay with the increased local V concentration then leading to enhanced con-
centration in the biofilms and eventual preservation in the microbialites. In that case, 
the V may serve as a biosignature indicative of ascidians even if spicules were not 
preserved (Webb and Kamber 2008). However, bacterial processes also may have 
enhanced the V concentration independently of ascidians. Regardless, enhanced V 
concentrations could be significant for Precambrian microbialites, which are unlikely 
to contain traces of ascidians, because VNases may have played an important role in 
nitrogen fixation prior to the earth attaining an oxidizing atmosphere. In an anoxic 
ocean V complexes would have been more soluble, and hence bioavailable, than are 
Mo complexes, which provide Mo for MoNases in the modern oxidized ocean 
(Fraústo da Silva and Williams 2001). Hence, preservation of elevated V in microbi-
alites may allow recognition of VNase activity in ancient anoxic marine biofilms with 
implications for interpreting ocean oxygenation and stratification through time 
(Anbar and Knoll 2002; Huston and Logan 2004).

Although enrichments in transition elements in microbialites from Heron Reef are 
suggestive of microbial and possibly eukaryote biosignatures, comparison to skeletal 
carbonates is not optimal because differences in elemental concentrations between 
microbialites and biologically-controlled skeletons could represent either enhanced 
concentration in the microbial carbonates or active exclusion of elements from the 
skeletons. Comparison with coeval early marine cements is a better test of microbial 
enrichment. Kamber and Webb (2007) applied LA-ICP-MS to investigate transition 
element concentrations in ancient calcimicrobes and co-occurring cements, along 
with eukaryote skeletons, from the Late Devonian reef complexes of the Canning 
Basin, Western Australia. Microbialites from Devonian reefs in the Canning Basin 
contain typical seawater-like REE&Y patterns (Nothdurft et al. 2004), and calcimi-
crobes, such as Renalcis, retain stable isotope characteristics consistent with their 
having preserved original isotopic biosignatures (Stephens and Sumner 2002). Hence, 
the microbialites appear to be very well preserved geochemically. The calcimicrobe 
Renalcis was found to be significantly enriched in V, Sn, Cu and Zn relative to early 
and late cements, and stromatoporoid sponge skeletons are enriched in V, but not Sn, 
Cu, or Zn (Kamber and Webb 2007). Renalcis also has less significant but recogniz-
able enrichments in Mn, Cd, Co and Cr. No enrichment was found in Mo or Sb. 
Subsequent trace element mapping (discussed below) showed that elevated Cu and V 
may be associated with diagenetic Fe-oxyhydroxides, but, regardless, the calcimi-
crobe Renalcis can be differentiated from contemporary carbonates that grew from 
the same seawater (i.e., cements and stromatoporoid sponge skeletons) and also from 
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later diagenetic cements. Elevated concentrations of vital trace elements in well 
 preserved Devonian Renalcis suggest that metabolically significant elements may be 
preserved in microbial carbonates over geological time frames. However, as noted for 
the REE, targeted microbialites must be free from significant terrigenous particulates 
and oxyhydroxides, as they have relatively high concentrations of transition elements 
(Veizer 1983) and could easily mask any biological signature.

Kamber and Webb (2007) also identified additional sources of contamination 
 relevant to laser ablation techniques. Because LA-ICP-MS commonly utilizes an abla-
tion spot size of less than 200 mm, thin sections are generally necessary in order to 
target specific microbial carbonates, cements and skeletons. Unfortunately, thin  section 
preparation may introduce contaminants during the grinding and polishing phases, as 
metal laps, grits and even glasses contain abundant transition elements. Preparation of 
thin sections on fixed diamond grit surfaces alleviates much of the contamination, but 
impregnation of samples with organic polymers, such as thin section epoxy resin also 
helps keep grit from invading pores in the sample. Commercial resins tested so far have 
not been found to contain abundant metals. However, inks used to mark areas of inter-
est on samples were found to contain abundant metals. Even ink as far away from the 
ablation target as 1–2 mm could be partially ablated, thus contaminating the helium 
carrier gas stream with metals. Fortunately, both particulate grit and ink contaminants 
can generally be identified within an analysis by inspection of the time-series data 
(Fig. 8), and affected sections of analyses can be discarded. Regardless of contamina-
tion issues, LA-ICP-MS techniques are capable of measuring the elements of interest 
even at very low  concentrations (Kamber and Webb 2007; Webb et al. 2009).

Fig. 8 Time series raw count data for laser ablation of a microbialite sample mounted on glass. Note 
the low blank for all elements (overlapping). A zone of ink contamination is defined by high Cr 
counts and ablation into glass is evident from high Zr counts. The zone between the glass and the 
ink contamination provides a clean sample interval. However, note that the ink does not alter the Ca 
and La count rates, but that the glass could provide a potential contaminant in regards to La



151Trace Element Geochemistry as a Tool for Interpreting Microbialites

Takahashi et al. (2005, 2007) suggested that REEs may provide a microbial 
 biosignature in BIFs. They showed experimentally that HREEs preferentially adsorb 
to carboxylate and phosphate groups on bacterial cell surfaces with milder enrich-
ment in the MREE range in low pH waters. Takahashi et al. (2005) suggested that 
similar HREE-enriched patterns occurred in biofilms in more alkaline springs but 
normalized the patterns to account for higher carbonate-complexation in those waters. 
Ozaki et al. (2006) also found that Eu preferentially adsorbs to bacterial cells, but that 
competing organic ligands, which are abundant in EPS in natural biofilms (Pereira 
et al. 2009), significantly affected the degree of the potential enrichment. Hence, 
although experimental HREE enrichment on bacterial surfaces was demonstrated at 
low pH, it is unclear whether such a signature could be distinguished in carbonate 
microbialites that grew in natural seawater. Complicating the issue is the finding by 
Kamijo et al. (1998) that microbes from soils and river waters preferentially removed 
the LREE from solution and did not remove HREE. Empirical distribution coeffi-
cients between Holocene microbialites and seawater are uniform across the REE 
mass range (Webb and Kamber 2000) suggesting that those microbialites do not 
preserve a particular microbial biosignature in the REEs, either HREE-enriched or 
LREE-enriched. Instead, carbonate microbialites appear to provide robust proxies for 
seawater REE distributions since the early Archean and in all cases the signatures are 
HREE enriched. Hence, as both seawater and the potential REE biosignature of 
Takahashi et al. (2007) are characterized by HREE enrichment, discrimination of the 
two signatures may require direct comparison of coeval iron and carbonate phases.

3  Diagenetic Disruption of Trace Metal Signatures

Carbonate minerals are metastable at the Earth’s surface and many minor and trace 
elements have been shown to be mobilized and redistributed during carbonate 
diagenesis (e.g., Kinsman 1969; Brand and Veizer 1980). In some cases changing 
minor element concentrations reflect differences in lattice spacing in aragonite and 
calcite (e.g., Mg is more easily accommodated in calcite, whereas Sr is more readily 
accommodated in aragonite), and thus minor element concentrations can be used to 
model diagenetic processes in carbonate transformations (Martin et al. 1986; Maliva 
1998). Such processes are clearly important in the neomorphism of aragonite to 
calcite in meteoric environments, and dolomitization is also likely to affect trace 
element distributions. Veizer (1983) noted that most transition elements have differ-
ent theoretical ‘equilibrium’ concentrations in aragonite, calcite and dolomite that 
are precipitated from seawater, and thus, diagenetic changes from one mineral phase 
to another may cause changes in the concentrations and ratios of the elements of 
interest as biosignatures. However, the degree of the shift in concentration during 
diagenetic transformation depends on the initial concentrations in the mineral phase, 
elemental concentrations in the diagenetic fluid and the degree of water/rock interac-
tion (i.e., how open versus closed the system is; e.g., Martin et al. 1986). Hence, 
although the direction of the shift in concentration for a given  element in a given 
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diagenetic transformation is likely to be the same, the magnitude of the shift will 
depend on more than one factor. Regardless, vital transition  elements such as Fe, Cu 
and Zn would be expected to increase in concentration during transformation of both 
marine HMC and aragonite to meteoric LMC (Veizer 1983), but very little work has 
been done to document the effects of carbonate diagenesis on the concentrations of 
specific trace metals. Despite that, the comparison of coeval microbialites, cements 
and ambient particulate sediments may allow biosignatures to be identified despite 
some degree of subsequent diagenetic alteration.

The effects of carbonate diagenesis on REE concentrations in limestones and 
dolomites have been studied to varying degrees and several studies have evaluated 
the relative partitioning of REEs between fluids and carbonate minerals. However, 
there has been poor agreement between the results of different workers (Terakado 
and Masuda 1988; Zhong and Mucci 1995; Lakshtanov and Stipp 2004; Tanaka and 
Kawabe 2006) and empirical studies are generally in conflict with experimental 
results (e.g., Scherer and Seitz 1980; Webb and Kamber 2000). Observations from 
natural diagenetic series of limestones and dolomites have also presented somewhat 
variable results. Schieber (1988) documented the remobilization of REEs from 
Proterozoic shale and emplacement in proximal interbedded limestones, but 
Cretaceous limestones that are rhythmically inter-bedded with marl retained their 
seawater-like REE&Y signatures despite their very close proximity to the marl 
(Bellanca et al. 1997). The different behaviors probably reflect differences in the 
nature of the diagenetic fluids and degree of water-rock interaction. Although dolo-
mite may form as a primary carbonate mineral and some dolomites are formed by 
microbes (Vasconcelos et al. 1995; Wright 1999; Warthmann et al. 2000; Van Lith 
et al. 2003; Wacey et al. 2007; McKenzie and Vasconcelos 2009), dolomitization is 
a common diagenetic process that has resulted in a varying abundance of dolomite 
through the Phanerozoic with increasing dolomite through the Precambrian (e.g., 
Given and Wilkinson 1987; Zenger 1989; Burns et al. 2000). Dolomitization has 
been shown not to have altered the original marine REE&Y patterns of limestones 
of Proterozoic and Carboniferous age (Banner et al. 1988; Frimmel 2009) although 
dolomitization in basinal brines associated with Mississippi Valley Type mineral-
ization in some cases altered the REE&Y patterns of Devonian microbial carbon-
ates (Nothdurft et al. 2004). Hence, REE distributions may remain intact through 
dolomitization, but it depends on elemental concentrations in the diagenetic fluid. 
Regardless, many Precambrian microbialites may have been dolomite originally 
and therefore less prone to subsequent diagenetic alteration. In any case, once REEs 
are set in a carbonate lattice they tend to be very stable even into metamorphic 
temperatures (Cherniak 1998).

The meteoric transformation of marine aragonite and HMC to LMC represents 
another very common diagenetic process that potentially could alter REE concen-
trations. Komiya et al. (2008) used LA-ICP-MS to show that early diagenetic rims 
on Early Cambrian ooids retained the same REE&Y patterns as the ooids, but 
blocky meteoric spar that replaced dissolved ooids had somewhat different patterns. 
Webb et al. (2009) used LA-ICP-MS to demonstrate that REEs were largely 
retained during the meteoric transition of coral aragonite to LMC in the Pleistocene 
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Key Largo Limestone despite the diagenetic environment representing an open 
system with a high degree of water/rock interaction (Maliva 1998). The diagenetic 
fluids represented clean meteoric waters that percolated down through overlying 
marine carbonates and never came into contact with continental siliciclastic sedi-
ments. Hence, the diagenetic fluids carried REEs in ratios similar to seawater. 
However, the recrystallizing carbonates acted as sinks for REEs in the diagenetic 
fluid. Hence, diagenesis in fluids with other types of REE distributions could alter 
the REE patterns of limestones during their initial stabilization phase. The nature 
of the diagenetic fluids and degree of water-rock interaction is critical.

It is likely that REE signatures can survive many types of diagenetic alteration, 
including instances of both meteoric stabilization and dolomitization, especially in 
extensive or isolated carbonate platforms where diagenetic fluids represent primarily 
meteoric water or seawater, but contamination could potentially occur. Hence, diage-
netic vetting is required for any studies of potential trace element biosignatures in 
microbialites. However, it remains to be demonstrated how stable many of the other 
elements are during diagenesis. Empirical studies can document the trace element 
relationships between differing contemporary carbonates where they occur in very 
close proximity, and thus provide a means of interpreting potential biosignatures, but 
coordination of sedimentology, petrography and geochemistry is critical.

4  Outlook

There are at least three areas of research where progress is required to take the 
emerging field of trace element geochemistry in microbial carbonates to a higher 
level of interpretation.

The first area concerns the integration of sedimentological information, particu-
larly basin reconstruction, with planning of geochemical analysis and interpretation 
of geochemical data. Many Archean carbonate occurrences are small and isolated 
and there is limited scope to put the carbonate rocks into a depositional context. 
Nonetheless, an important question of greenstone belt-hosted carbonate is the level 
of connectivity of the greenstone basin with the open ocean. For the purpose of 
addressing that question it is necessary to combine information from different 
supracrustal lithologies. A case in point is the late Archean southern Zimbabwe 
craton. Several of its greenstone belts contain stromatolites (e.g. Abell et al. 1985a, 
b) but opinions vary regarding the origin (and by implication the setting) of the 
greenstones themselves. Some structural geologists (e.g., Kusky and Kidd 1992) 
argued that the greenstone belts at least in southern Zimbabwe represent open 
marine oceanic plateaus, while others (e.g. Blenkinsop et al. 1993) made a case for 
deposition on pre-existing continental crust. When considering all evidence, includ-
ing the fact that many mafic metavolcanic rocks contain inherited zircon (Wilson 
et al. 1995) and a high level of contamination with radiogenic Pb (Chauvel et al. 
1993), it is unavoidable to conclude that the greenstone belts formed as epi- 
continental basins. Any geochemical information extracted from their hydrogenous 
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sediments must take this depositional setting into account before extrapolating 
 findings to the global ocean. Kamber et al. (2004) showed how Pb- and Sr-isotopes 
of stromatolitic limestone can be combined with REE data to assess the level of 
connectivity of greenstone basins with the open ocean. Using the previously 
 published data of Bolhar et al. (2002) it was possible to show that throughout the 
lifetime of the Belingwe greenstone belt, the degree of restriction of the basin 
 varied greatly. Other isolated Archean stromatolite occurrences, such as the Steep 
Rock Group (W Ontario, Canada), must be put into a similar context before their 
chemical signatures can be interpreted.

Many Proterozoic basins contain much thicker sedimentary successions than 
Archean greenstone belts. These lend themselves to basin reconstruction into which 
the occurrences of microbial carbonates can be tied. This wealth of sedimentological 
information awaits full geochemical exploitation. For example, the early Neoproterozoic 
Little Dal group of the Mackenzie Mountains, Northwestern Canada, contains calci-
microbial reefs, whose development responded to basin-wide environmental change 
(e.g. Turner et al. 1997). Such very well-preserved carbonate build-ups will yield much 
information regarding the evolution of the Earth surface environment prior to the late 
Neoproterozoic appearance of the Ediacaran fauna. Provided such successions can be 
dated with sufficient accuracy, the geochemical approach that has been demonstrated 
for Phanerozoic and Archean carbonates will lead to new insight regarding the time 
immediately prior to the appearance of abundant multicellular life.

The second area for which progress is required is the careful empirical docu-
mentation of element associations in stromatolites of undeniable microbial origin. 
This will require a series of tests on microbial carbonates of various ages. In the 
best-preserved Phanerozoic microbial carbonates it should be possible to test 
whether microtextural distinctions described earlier in this chapter manifest as 
 recognizable elemental distributions. In other examples of ancient stromatolites, it 
will be necessary to test the effect of taphonomic control on microstructure. Yet 
another avenue of research is the comparison of macroscopically similar stromato-
lites that have formed at different times in different geographic locations. This will 
give an indication of which elemental abundances are controlled by microbial activ-
ity and can therefore potentially serve as biosignatures in stromatolites of debated 
origin, and which elemental signatures may be imparted by geographic settings.

The study of element distribution, particularly transition metals in microbial 
carbonate is an analytical challenge. Conventionally, a small amount (a few mg) of 
sample would be obtained either by scratching or drilling into suitable material in 
a rock slab. The digested carbonate would then be analyzed by solution ICP-MS 
(e.g., Webb and Kamber 2004). When using low resolution quadrupole mass spec-
trometers, care must be taken to avoid spurious artifacts of molecular interferences 
caused by the high concentrations of Ca and C in the matrix. More significantly, 
however, many studied microbial carbonates are so finely textured and integrated 
with cements that it is physically very difficult to obtain sufficient material for a 
meaningful analysis.

Much progress has been made in determining trace element concentrations 
directly in petrographic thin sections using LA-ICP-MS. This technique has  inferior 
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detection limits to solution ICP-MS but it is much less prone to isobaric molecular 
interference and it also permits very specific analysis of areas as small as ca. 50 × 
50 × 25 µm. Kamber and Webb (2007) presented the first study in which this tech-
nique was trialed at distinguishing between microbial carbonate, stromatoporoid 
sponge skeletons and a variety of cements. They used repeat spot analyses to test 
whether one type of carbonate was systematically enriched or depleted in the ele-
ments of interest. Although these tests generally showed coherent behavior, the 
concentration variability within a particular type of carbonate was found to be large 
for the transition metals. More recently, it has become computationally feasible to 
produce two-dimensional trace element maps from a series of parallel adjoining 
LA-ICP-MS traverses (Hellstrom et al. 2008). This approach allows much more 
rigorous assessment of trace element distribution in relation to sedimentological 
texture. Two examples of such maps are discussed below, using the instrumental 
setup described in Ulrich et al. (2009) who showed an additional example of trace 
element maps for a late Archaean oolitic grainstone.

The first map (Fig. 9) shows an abiogenic laminated carbonate (a pseudo- 
stromatolite) from the early Neoproterozoic Little Dal group. It is strongly lami-
nated and interpreted to have formed as a seafloor precipitate interrupted by 
episodic deposition of fine siliciclastic mud. Some of the mud-rich bands acted as 
dissolution surfaces along which stylolites formed (white stippled area in Fig. 9). 
The strong banding is clearly evident in the elemental maps in which warm colors 
represent high concentrations and blue colors low concentrations. The suspected 
mud-rich bands stand out on account of higher Mg, Sc and Th concentrations, 
which are all enriched in fine siliciclastic detritus. By contrast, Ca, Mn and Y are 
more concentrated in the seafloor carbonate precipitate. The stylolite is also clearly 
visible on account of much elevated Sc, which suggests that it may represent the 
trace element inventory of several bands now condensed into one horizon. This type 
of map could be used as a guide to spot analysis sites for uncontaminated carbonate 
(i.e. the areas of deep blue in the lower left of the Sc and Mg maps). In this case, 
the spatial chemical information is in complete agreement with geometric/sedimen-
tologic arguments that strongly suggest an abiogenic origin.

The second map (Fig. 10) is from one of the same thick sections on which 
Kamber and Webb (2007) analyzed Devonian Renalcis and related carbonates. 
While the concentration contrast between late cements, stromatoporoid and Renalcis 
was beyond doubt for many elements, the differentiation between Renalcis and early 
interstitial cement (still largely microbial micrite) was less clear. A 2.1 mm by 2.2 
mm trace element map (Fig. 10) shows obvious contrast for the LREE (shown are 
La and Ce), Mn and Zn. In all cases, the petrographically darker clots of Renalcis 
are easily identified on the trace element maps as warm colors of relatively high 
concentrations of those elements. The empirical observation of high REE concentra-
tion in microbial carbonate is supported as is the suggestion that Mn and Zn concen-
trations may be used to identify the outline of calcified microbial communities. By 
contrast, the distribution of Cu and V does not follow the LREE. Some of the areas 
of the highest Cu and V concentration are in the interstitial cement, suggesting that 
they may have been associated with Fe-oxihydroxides (note that V shows a very 
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strong chemical affinity with Fe). In this example, the decoupling of the LREE, Mn 
and Zn from Cu and V was not evident from the spot analyses but is easily revealed 
by trace metal maps. Systematic study of well-preserved microbial carbonates with 
this new technique will allow close comparison of petrographic information and 
metal distribution and is expected to yield better trace element criteria for biogenic-
ity. Ulrich et al. (2009) has already used the technique to discuss the effects of 
dolomitization on trace metal content in oolitic rocks.

Provided that the empirical documentation of trace element distribution yields 
coherent results, a need will arise for a third area of research, namely, to relate 
particular sets of trace metal associations, such as Mn and Zn, with a biochemical 
pathway. The example of Mo and V concentrations in microbial carbonate and their 

Fig. 9 Semi-quantitative major and trace element maps of an abiogenic stromatolite-like carbon-
ate structure from the Neoproterozoic Little Dal group, Canada (sample RT-A19-501, courtesy of 
E. C. Turner). The major elements Ca and Mn and the trace metal Y show highest concentrations 
(orange and yellow colors) in spar-rich petrographically light colored calcite. By contrast, petro-
graphically dark, mud-rich sediment layers show up clearly as high concentration areas of Mg, Sc 
and Th. Note outline of petrographically dark grey band containing stylolites that show very ele-
vated Sc concentration. Two more such bands occur towards the top right corner of the slide. The 
map was produced from a series of 52 adjacent 80 µm wide LA-ICP-MS traverses (shot at 40 µm 
s−1) using Iolite (Hellstrom et al. 2008)
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possible link to nitrogen fixation was discussed earlier as was the need to put 
 modern microbial biochemistry into the context of the evolving Earth surface envi-
ronment. Progress has already been made at linking certain metal enrichments in 
hydrothermal minerals with extremophiles (e.g. Holden and Adams 2003) but the 
systematics arising from study of microbial carbonate are expected to be complex. 
At this stage, the critical step to be taken is the search for coherent associations of 
elevated metal contents with particular types of microbial carbonates.

Fig. 10 Semi-quantitative major and trace element maps of the calcimicrobe Renalcis and inter-
stitial cement (location of mapped area indicated by black box on interpretative sketch of polished 
petrographic section. Sample is 99-7-254a, which was documented in detail by Kamber and Webb 
2007). The composite Ce and Mn concentration highs show very clear correspondence with dark 
areas of Renalcis in the transmitted light photomicrograph. These areas also stand out clearly on 
La and Zn maps. By contrast, Cu and V distribution highs are not clearly linked to Renalcis but 
could be associated with Fe-oxihydroxides. The map was produced from a series of 70 adjacent 
30 µm wide LA-ICP-MS traverses (shot at 15 µm s−1)
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5  Summary

The proper interpretation of microbialites has important implications for  understanding 
early life and the evolution of earth systems through time. However, as incidental 
biosedimentary structures, microbialites are formed by complex  systems that represent 
a continuum of processes with varying contributions from biological and physical-
chemical components. Hence, their identification and interpretation can be challeng-
ing. Trace element geochemistry is proving to be a valuable tool for assessing and 
evaluating the nature and origin of putative microbialites. Trace elements inventories 
within microbialites represent a variety of sources including: (1) elements enriched 
either purposefully or incidentally by biological processes within biofilms or microbial 
mats; (2) elements passively accumulated from the ambient fluid environment; (3) 
elements associated with trapped and bound particulate matter or sediment; and (4) 
elements emplaced from diagenetic fluids. The first source of elements, those that are 
enriched through biological  processes, may serve as biosignatures. Recognition of 
disequilibrium behaviour in such elements could potentially even serve as a biosigna-
ture in putative microbialites from an extraterrestrial source. Where the nature of 
microbialites is better constrained and the activity of specific metals in microbial 
metabolism is known, some elemental enrichments may provide direct evidence of the 
types of biological communities, organisms or metabolic pathways that occurred in a 
given mat or biofilm. Where elemental inventories reflect more the ambient waters of 
the depositional environment, they may aid interpretation of those environments, 
including the recognition of different water bodies, and may record changing marine 
chemistry through time. Rare earth element inventories in ancient microbialites, for 
example, have already been used to document marine chemistry, oxygenation levels 
and depositional settings in ancient basins. However, when interpreting ambient 
physical-chemical conditions from elemental patterns in ancient microbialites it is 
necessary to acknowledge the degree to which a given microbialite may have been 
isolated within a microenvironment. The chemistry of fluids within microenviron-
ments may be significantly evolved relative to ambient fluids and precipitation of 
minerals in most if not all microbialites reflects some degree of microenvironmental 
forcing (e.g., elevated alkalinity). Elemental inventories introduced from trapped and 
bound sediment and from subsequent diagenesis, the last two categories,  represent 
significant contaminants in such studies, thus necessitating effective sample vetting. 
However, where the initial systems are relatively well understood, elements introduced 
during diagenesis may allow better understanding of the diagenetic processes and fluid 
sources in a given stratigraphic unit or basin.

In conclusion, the outlook for trace element geochemical analysis of microbi-
alites is good. New analytical techniques such as LA-ICP-MS with spatial mapping 
are breaking new ground in establishing elemental abundances at very low concen-
trations, in challenging materials and at the very small spatial scales that are 
 particularly relevant to geomicrobiological studies. Integration of such studies with 
other geochemical techniques (e.g., stable isotope studies) and basic sedimentology 
and stratigraphy may allow ancient depositional environments and palaeogeo-
graphic settings to be reconstructed with increasing proficiency. However, there is 
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much room for documentation of biosignatures and environmental signatures in 
modern and unequivocal ancient microbialites to refine interpretations, vetting 
procedures and analytical approaches. As our baseline understanding of microbi-
alites as recorders of biological communities and geochemical environments 
increases their analysis will provide critical new data to inform our understanding 
of the Earth’s biogeochemical evolution.
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Abstract Most valuable paleontological studies on the ancient life in the Archean 
era are on fossils of bacterial cells preserved in chert, or on the famous stromatolites 
we find in the oldest carbonate or silica rocks. The past decade, a new window into 
Earth’s most antique worlds opened: Modern sandy coastal areas and the biofilms 
and microbial mats therein! The interaction of the modern microbial mats with the 
physical sediment dynamics creates sedimentary structures of mm to m sizes. Those 
‘microbially induced sedimentary structures – MISS’ are found in the fossil record as 
well. Both modern and fossil examples look alike, but much different to stromatolites. 
We distinguish 17 main types of those MISS, related to their modes of formations. 
Our studies showed that ancient microbial mats developed in tidal, lagoonal, and shelf 
sandstones during the Phanerozoic, and Proterozoic ages, and even colonized already 
sandy marine deposits billions of years ago – during the Archean time. The ancient 
MISS suggest the existence of cyanobacteria potentially before 3 billion years ago.

Keywords Microbial mat • Archean • Tidal flats • MISS • Early life • Siliciclastic

1  Introduction

It is an intriguing task to reconstruct life in the Archean era, the oldest time period 
of Earth’s rock record, because the sediments that time have been formed in an 
environment so much different to our own. After their deposition 3.8–2.5 billion 
years ago, the sediments lithified, and then experienced a multitude of diagenetic 
and tectonic alterations. Those processes erased a lot of the information those rocks 
had once contained. However, some information is still there and therefore  windows 
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into Earth’s most antique past exist. The 2.9 Ga Pongola and Witwatersrand 
Supergroups, and the 3.2 Ga Barberton Greenstone Belt in South Africa constitute 
one of the world’s most famous paleontological sites for the exploration of oldest 
life (Lowe and Tice 2007). Precious fossils of tiny bacterial cells preserved in glass-
like chert, or beautiful stromatolites give significant insight into the evolution of 
Earth’s prokaryotes (e.g., Schopf et al. 2007; Walter et al. 2007).

In contrast, the siliciclastic rock successions of same age have been less studied. 
The reason is that sandstones rarely are regarded as sites of good fossil preservation – 
even sandstones of much younger Earth age. The siliciclastic material is porous and 
air and water is circulating through the deposits altering any organic matter therein 
quickly and thoroughly. But this is chemistry. We have to keep in mind that chemi-
cal processes are dependent on the chemical milieu they take place. Without doubt, 
the chemical composition of the Archean oceans and the atmosphere was different 
to today. Therefore, we must use caution in interpreting structures, texture or fossils 
that rose from chemical processes. In contrast, the interaction of life with physical 
processes should give rise to more reliable insight (contributions in Noffke and 
Paterson 2008). The reason is that the physical laws on Earth have never changed: 
Water has moved sand grains the same way 3 billion years ago as water in the pres-
ent does. In consequence, the sedimentary structures that rise from this mechanical 
interaction of organisms with moving water always must look the same – be it 
today or billions of years ago. The past decade, the studies on sedimentary struc-
tures preserved in sandstones have opened a new path to investigate life’s early 
steps in the Archean era (Noffke 2000, 2009; Noffke et al. 2002, 2003b, 2006a, b, 
2008) (Fig. 1).

Fig. 1 Microbially induced sedimentary structures (MISS) constitute a new group of biogenic 
sedimentary structures that allow conclusions on early life in the Archean era. In contrast to fossils 
of bacterial cells, or to stromatolites, the MISS occur in siliciclastic sedimentary deposits. The 
structures are distributed throughout Earth history, from the early Archean to the present
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Aim of this review is to give a brief summary about those biogenic sedimentary 
structures in siliciclastic deposits. This contribution likes to demonstrate, how they 
rise and what they tell us about Archean Earth.

2  Microbially Induced Sedimentary Structures – MISS

In contrast to chert and carbonate rocks, sandstones display sedimentary structures 
that resemble neither body fossils, nor stromatolites (Fig. 2). Those sedimentary 
structures come in multitude geometries and morphologies, and in sizes of meter to 
millimeter scales. Those ‘microbially induced sedimentary structures – MISS’ are not 
the product of chemical processes such as in situ carbonate mineral precipitation, but 
of the biotic-physical interaction of microbial mats with the sedimentary dynamics in 
marine environments. Due to their so specific genesis, the structures have been placed 
as own category into the classification of primary sedimentary structures (Noffke 
et al. 2001b; Schieber et al. 2007). The MISS have been described especially well 
from terminal Proterozoic sandstone successions, where the role of microbial mats in 
the preservation of Ediacara fossils has long been suggested. In his pioneering work, 
Schieber (1989) detected ancient microbial mats in Mesoproterozoic shales of 
Montana. ‘Elephant skin textures’, crinkled upper bedding planes, record ancient 
microbial mats (e.g., Bland 1984; Runnegar and Fedonkin 1992; Gehling 1999, 2000; 
Hagadorn and Bottjer 1999; Eriksson et al. 2000; Prave 2002; Sarkar et al. 2005). An 
overview on those early studies on microbial mat-related sedimentary structures was 
published for the first time in the volume by Hagadorn et al. (1999), followed later 
by a beautiful photo atlas (Schieber et al. 2007). Simultaneously to the time, when the 
first elephant skin textures were described, work on modern microbial mats and the 
sedimentary structures they form was conducted (e.g., Cameron et al. 1985; Gerdes 
and Krumbein 1987; Gerdes et al. 1991, 1993). In 1996, we decided to introduce the 
term ‘microbially induced sedimentary structures (MISS)’ for microbial mat-related 
sedimentary structures, based on our research on quantitative analyses on those struc-
tures in modern sandy tidal flats (Noffke et al. 1996).

The scholarly dry definition of MISS is: “MISS are primary sedimentary struc-
tures that rise syndepositionally from the physical interaction of biofilms and micro-
bial mats with the sediment dynamic caused by hydraulic parameters in siliciclastic 
aquatic environments. Biostabilization counteracts erosion, baffling and trapping 
responds to deposition of sediment, and binding and growth take place during laten-
cies (the time periods of no or low sediment reworking). Mostly, all biotic-physical 
interactions overlap in the formation of MISS, which is quantified with modern 
examples. Whereas primary mineral precipitation does not play any role in the for-
mation of the MISS, secondary mineral accretion induced by the decay of the bio-
film or mat constructing microorganisms and their EPS assists in the preservation of 
those structures. In thin-section, the MISS must include microtextures that are 
related to, have been caused by, or represent ancient biofilms or microbial mats. 
MISS occur from the early Archean to the present (cit. from Noffke 2009).”



Fig. 2 Microbially induced sedimentary structures in sandy tidal flats – modern examples on the 
left and fossil analogues on the right. (a) Microbial Mat Chips (Fishermans Island, USA); scale:  
5 cm. (b) fossil mat fragments (2.9 Ga Pongola Supergroup, South Africa); scale: 5 cm. (c) Erosional 
remnants (ER) and pockets (EP) (Mellum Island, North Sea); scale 1 m. (d) fossil erosional pockets 
(EP) situated in mat-stabilized sedimentary surface (ER) (Cretaceous Dakota Sandstone, Colorado, 
USA); scale 1 m. (e) Thin-section through modern microbial mat displaying oriented grains (micro-
bial mat from Mellum Island, North Sea); scale 0.2 mm. (f) Fossil microtexture (3.2 Ga Moodies
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3  Modern MISS and Their Formation

Classical study site Mellum Island, North Sea. The first examples of MISS have 
been described in the modern tidal flats of Mellum, an island situated at the North 
Sea coast of Germany (Gerdes and Krumbein 1987; Gerdes et al. 1991, 1993, 2000; 
Noffke et al. 1996). Here, microbial mats overgrow quartz-rich sands of fine sand 
sizes. Microbial mats are dense and coherent organic layers that from the distance 
look like bluegreen carpets (introduction e.g., Golubic and Knoll 1999; Stolz 2000; 
Paerl et al. 2000; Stal 2000). In close-up, this carpet is composed of cyanobacteria 
and their mucilages they secrete (extracellular polymeric substances – EPS), Decho 
1990. But microbial mats are not everywhere of same type. Along a transect cross-
ing the tidal flat from the low to the high water line, a lateral succession of different 
types of microbial mats establishes – each mat type best adapted to its specific site 
of colonization. Each colonization site is defined by a characteristic pattern of tidal 
currents that inundates or exposes the tidal flat surface for different time periods 
(Noffke and Krumbein 1999).

Close to the low water line, the constant reworking of the substrate by hydraulic 
movement prohibits the formation of ‘real’ microbial mats. Here, the coccoid 
cyanobacterium Merismopedia punctata forms sotermed ‘biofilms’ thin organic 
coatings around the single grains of the sandy surface. Those biofilm-coated grains 
are swirled around by the agitated water and rarely come to rest on the seafloor. 
Whenever the waves and currents settle for a moment, all particles suspended in the 
water sink down – however the biofilm-coated ones at last. The reason for this 
slowest downward movement is that the ratio between diameter and specific weight 
of a biofilm-coated grain favours long residence in the water column compared to 
that of the relatively heavier, sterile grains.

If we ascend the tidal flat along our transect, we reach the intertidal zone, which 
is affected by the daily tidal currents. Here another cyanobacterial species becomes 
abundant: Oscilatoria limosa. The trichomes (single filaments) of Oscilatoria 
limosa are highly mobile that is they are able to move quickly through the sedi-
ments. Because the intertidal zone is reworked with every flood current, this high 
motility is of great advantage for this cyanobacterium. Indeed, this cyanobacterium 
can form a dense microbial mat within the few hours an ebb tide lasts (Villbrandt 
1992; Noffke 1998)!

In the morphologically highest portions of the tidal flat, the lower supratidal 
zone, the dominant microbial mat builder is Microcoleus chthonoplastes. This tidal 
zone is typically inundated by sea water only during the spring high tides or during 

Fig. 2 (continued) Group, South Africa); scale 0.2 mm. (g) Oscillation cracks define a polygonal 
pattern in the surface of a microbial mat. The center of each polygon shows an erupted gas dome, 
one example marked with an arrow (southern Tunisia); scale about 30 cm; (h) Same polygonal 
structure. Arrow indicates a hole, where gas dome erupted. (2.9 Ga Pongola Supergroup, South 
Africa); scale 25 cm. (i) Multidirected ripple marks. Two generations of ripples (I and II) are dis-
played on this tidal surface (Mellum Island); scale 50 cm. (j) Multidirected ripple marks with four 
generations of ripple marks (I–IV) (2.9 Ga Pongola Supergroup, South Africa); scale 30 cm
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strong landward winds. Microcoleus chthonoplastes is well adapted to the long 
lasting periods of subaerial exposure of the tidal surface. Its ubiquitous EPS protect 
the filaments of this cyanobacterium against desiccation or osmotic pressure by 
quickly changing salinities (e.g., Decho 1990).

On Mellum Island, the classical MISS include ‘erosional remnants and pockets’, 
‘multidirected ripple marks’, ‘gas domes’, or ‘mat chips’ atop the sediments. In verti-
cal sections we see ‘sponge pore fabrics’, ‘microsequences’, ‘roll-ups’, ‘oriented 
grains’, and other structures and textures (see examples for MISS in Figure 2).

Classical study site sabkha Bahouane, southern Tunisia. The second classical 
study site for the MISS are the sabkha-like tidal flats along the coast of southern 
Tunisia (Noffke et al. 2001a). A sabkha-like tidal flat is inundated only every 2 
weeks up to every 3 months – depending on the seasonal precipitation in the hinter-
land and on the rise and fall of the intrasedimentary groundwater. It is the ground-
water that nourishes the predominantly evaporitic mineral formation at the 
depositional surface of the salt-encrusted sabkha. In this environment, the deepest 
portions of the tidal flats, sometimes large depressions of several hundreds of meters 
in diameter, are covered for long weeks by a few cm deep water. At those locations, 
thick and bluegreen microbial mats can grow, mostly constructed by Microcoleus 
chthonoplastes or Lyngbya aestuarii (Gerdes et al. 2000). Thick mats of up to 4 cm 
thicknesses lead a prospering life in warm water not disturbed even by slightest 
winds. However, if we leave this mat paradise and walk towards higher locations, we 
quickly learn that this mat paradise is locally restricted. The higher the morphology, 
even if the height differences is just centimeters, the longer the microbial mats are 
exposed to harsh sun light and winds that dry out the deposits so quickly. Here, other 
cyanobacterial species establish. For example, Synechnococcus builds leathery 
microbial mats and its orange-red pigments that serve so well against the sun light 
give rise to a rose-coloured, seemingly extraterrestrial monotonous landscape 
(Gerdes et al. 2000). The classical MISS at this study location include ‘petees’, ‘gas 
domes’, ‘oscillation cracks’, or ‘tufts’ (see examples for MISS in Fig. 2).

The two classical study sites Mellum Island and Sabkha Bohouane demonstrate that 
the microbial mats establish in dependence to the hydraulic conditions that prevail in a 
given area. As the distribution of microbial mat types changes in characteristic way 
from low to high morphological situations, the term ‘biofilm-catena’ was introduced for 
such lateral successions (Noffke and Krumbein 1999). It is of importance, that not only 
the microbial mats, but also the MISS they form are arranged along the transect from 
low to high sites. Detailed studies that describe those ‘biofilm-catenae’ and the MISS 
they cause are Noffke and Krumbein 1999, as well as Noffke et al. 2001a, 2008.

4  Classification of MISS

MISS rise from the response of benthic microbiota to erosive forces, and to depo-
sition of sediment (Noffke et al. 2003a). The microbial mats grow especially well 
during quiet hydraulic conditions (Gerdes et al. 1991), probably because the 
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 nutrients are readily available and the microorganisms not endangered to be ripped 
off their substrate by currents to be buried by a – for a photoautotrophic commu-
nity – lethal drape of mud. The response to erosion is long known as bio-stabili-
zation (term introduced by Paterson 1994; see also Paterson et al. 1994; Yallop 
et al. 1994), the response to fall out of sediment as baffling and trapping (classical 
paper by Black 1933, in detail by e.g., Reid et al. 2000). Binding is the incorpora-
tion of mineral particles into the microbial mat fabrics over time. Because biomass 
production (replication of cells and EPS secretion) does not play a role, binding in 
my opinion does not equal growth (Noffke et al. 2008; Noffke 2009). The Fig. 3 
is a classification scheme that places different MISS in relation to the main micro-
bial activity that causes this structure. Note that some MISS rise from the interfer-
ence of all activities.

Fig. 3 Classification of microbially induced sedimentary structures (MISS). Until now, 17 main 
types of MISS are distinguished. With respect to their modes of formations, the structures are 
separated into five groups. The corners of the diagram include MISS that rise from mainly one 
bacterial activity such as biostabilization, or binding. In contrast, the central group of structures 
originates from an interference of all bacterial activities (After Noffke 2009)
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5  How to Interprete Archean MISS by Using Modern 
Analogues of the Structures

The knowledge on the formation of the structures and on their distribution in a 
given area allows direct comparison of modern structures with fossil MISS (Noffke 
et al. 2006b). If we understand, where modern microbial mats develop and how 
they interact with which physical sedimentary regimen, we have the tool in hand to 
analyze fossil MISS in equivalent paleoenvironments, and to conclude on the 
potential builders of the ancient microbial mats. This application shall be outlined 
with some examples. Figure 2 shows microbial mat chips (Fig. 2a and b). Those 
chips are fragments of microbial mats that have been ripped off by water currents 
from their parent sites, transported and redeposited elsewhere. The chips are struc-
tures that rise from biostabilization (Fig. 3). The statistical comparison of the mod-
ern fragments with the fossil ones shows that the shape and sizes are very similar. 
In thin-sections, both modern and ancient mat chips are of same thickness. Because 
we know that the modern mat chips in Fig. 2a derive from the lower supratidal zone 
of Mellum Island, where Microcoleus chthonoplastes resides, we may conclude 
that the fossil mat chips might have been formed by this cyanobacterium as well. 
Of course a detailed study of the paleoenvironment must be conducted, and our 
geological survey, based on cm-scale stratigraphic profiling, revealed that indeed 
the ancient habitat has been a lower supratidal zone (Noffke et al. 2008).

Another example are ‘erosional remnants and pockets’ (Fig. 2c). This sedimen-
tary structures covers sometimes square kilometers of tidal flat surfaces. It is com-
posed of elevated, mat-covered surface portions and deeper lying, ripple-marked 
surface areas that are not overgrown by mats. This tidal flat morphology evolves as 
soon as a sediment-stabilizing microbial mat is destroyed locally so that at this spot 
the bare sand is exposed to the water. Starting from this location, currents now 
remove the sand grains, and therefore undermine the microbial mats surrounding 
this breakage. Over time, the small spots widen, because the microbial mat fringe 
is ripped off piece by piece (and mat chips form). Over time, the ‘erosional pockets’ 
develop with their characteristic ripple marks. The pockets easily can reach several 
meters extension until they connect with the neighbouring erosional depressions 
(Gerdes et al. 1993; Noffke 1999).

A very characteristic microscopic texture that is visible in thin-sections perpen-
dicular through a microbial mat are ‘oriented grains’ (Noffke et al. 1997, 2006b). 
Figure 2e shows a modern example, and Fig. 2f a fossil equivalent one. Oriented 
grains are mineral particles that float independently from each other in the organic 
matrix of a microbial mat. Their long axes are oriented parallel to the bedding planes 
of the sediment layers, because the soft matrix of the organic embedding allows rota-
tion of the grains according to the gravity force. In contrast – of course – the grains 
that compose the sandy substrate underneath the microbial mat cannot rotate, because 
the particles are fixed in their position by grain-to-grain contact. Such a microtexture 
rises from growth of the microbial mat. In laboratory experiment, each individual 
quartz grain initially is coated by a thin biofilm. If this  biofilm coat grows, it grows 
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into all directions in equal rate. After some while, the biofilm pushes its central grain 
upward and away from the neighbouring grains. Finally, all biofilms of all grains fuse 
to form a laterally continuous microbial mat layer. The original biofilm-coated grains, 
however, now float like individual pearls in this mat layer and witness the growth 
history of this microbial mat. Oriented grains are characteristic for thick, epibenthic 
microbial mats that contain lots of EPS. In the fossil record, we found that oriented 
grains indicate epibenthic microbial mats in the lower supratidal zone – again hinting 
on the ancient presence of Microcoleus chthonoplastes – like mat consortia in this 
ancient tidal area (Noffke et al. 2008).

Gas domes are elevations that temporarily spot microbial mat surfaces (Noffke 
et al. 1996, 2008). The gas domes are upheavals caused by increasing pressure of gas 
accumulating underneath the microbial mat (Fig. 2g and h). In the deeper sediment 
far below the microbial mat gases are formed by decay of organic matter, or simply 
by the rising groundwater pushing gas upward. Because the EPS of the microbial 
mats do not allow gas diffusion, the gas cannot escape the sediment. However, it may 
be that after some time the gas pressure becomes so high that the microbial mat is 
ripped off its substrate underneath and a gas dome rises. In southern Tunisia such 
gas domes form especially during longer periods of desiccation, when the microbial 
mats are exposed to dry and hot air for weeks, and a pattern of polygonal cracks 
disintegrates the organic carpet (Noffke et al. 2001a), see Fig. 2g. Each center of 
each polygon defined by the desiccation cracks rises and eventually ruptures to 
release intrasedimentary gases. Such a sedimentary structure can become fossil and 
we found equivalent structures in the same lower supratidal setting in the ancient 
tidal flat of the 2.9 Ga Pongola Supergroup, South Africa (Fig. 2h).

One last and well known example are ‘multidirected ripple marks’ (Fig. 2i and j). 
This surface structure is a chaotic-like pattern of ripple marks of various directions that 
cover the upper intertidal to lower supratidal zones. This ripple mark pattern rises from 
the interaction of sediment-stabilizing microbial mats with a set of subsequent storms 
of which each gives rise to a new a generation of ripple marks. During the time periods 
in between the individual storm events, each newly formed ripple mark generation is 
consequently overgrown and biostabilized by microbial mats, and thus cannot be 
reworked by following storm events. In consequence of their formation, multidirected 
ripple marks can be found especially well developed in the fall of a temperate climate 
(Noffke 1998). Fossil multidirected ripple marks are wonderfully exposed in the ancient 
tidal flat of the Pongola Supergroup, South Africa, witnessing a similar climate affect-
ing the equivalent tidal zones as we know from the modern sites (Noffke et al. 2008).

6  Conclusive Remarks and the Question Which Microbiota 
Formed Microbial Mats in the Archean Era

MISS are sedimentary structures that rise from the interaction of benthic microbota 
with physical sediment dynamics in siliciclastic deposits. The physical laws of 
moving water affecting sandy sediments did never change in course of Earth 
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 history, that is primary sedimentary structures also never changed (Noffke et al. 
2006a, b). Because of the so characteristic modification of the primary sedimentary 
structures by microbenthos, the MISS are highly indicative of microbial presence 
in such deposits. If found in the fossil record, the geometries of MISS as well as 
their paleoenvironmental distribution assists us to reconstruct prokaryotic evolution 
(Noffke 2009). For example, we think that the Pongola Supergroup includes Earth’s 
oldest known cyanobacterial population, which resembles surprisingly precise the 
modern cyanobacteria we find in the modern equivalent settings. If so, the evolu-
tionary rise of cyanobacteria must be placed much earlier than assumed until now, 
and must have taken place well before 3 billion years ago (Margulis 2009).

Acknowledgements The studies on modern and ancient microbial mats have been funded by the 
NASA Mars Exploration and Exobiology Programs, the NSF Geology-Paleontology Program, and 
an Old Dominion University Summer Research Grant.

References

Bland BH (1984) Arumberia Glaessner & Walter, a review of its potential for correlation in the 
region of the Precambrian-Camrian boundary. Geol Mag 121:625–633

Black M (1933) The algal sediments of Andros Islands, Bahamas. Philos Trans R Soc Lond Series 
B 222:165–192

Cameron B, Cameron D, Jones J (1985) Modern algal mats in intertidal and supratidal quartz 
sands, northeastern Massachusetts, USA. In: Curran A (ed) Biogenic structures: their use in 
interpreting depositional environments. SEPM, Tulsa, 134 p

Decho AW (1990) Microbial exopolymer secretions in ocean environments: their role(s) in food 
webs and marine processes. Oceanogr Mar Biol Annu Rev 28:73–154

Eriksson PG, Simpson EL, Eriksson KA, Bumby AJ, Steyn GL, Sarkar S (2000) Muddy roll-up 
structures in siliciclastic interdune beds of the ca. 1.8 Ga old Waterberg Group, South Africa. 
Palaios 15:177–183

Gehling JG (1999) Microbial mats in terminal Proterozoic siliciclastics: Ediacaran death masks. 
Palaios 14:40–57

Gerdes G, Krumbein W (1987) Biolaminated deposits. Springer-Verlag, Berlin, 193 p
Gehling JG (2000) Environmental interpretation and a sequence stratigraphic framework for the 

terminal Proterozoic Ediacara member within the Rawnsley Quarzite, South Australia. Prec 
Res 100:65–95

Gerdes G, Krumbein WE, Reineck HE (1991) Biolaminations – ecological versus depositional 
dynamics. In: Einsele G, Ricken W, Seilacher A (eds) Cycles and events in stratigraphy. 
Springer, Berlin

Gerdes G, Claes M, Dunajtschik-Piewak K, Riege H, Krumbein WE, Reineck HE (1993) 
Contribution of microbial mats to sedimentary surface structures. Facies 29:61–74

Gerdes G, Noffke N, Klenke Th, Krumbein WE (2000) Microbial signatures in peritidal sediments 
– a catalogue. Sedimentology 47:279–308

Golubic SG, Knoll AH (1999) Prokaryotes. In: Lipps J (ed) Fossil prokaryotes and protists. 
Blackwell, Boston, MA

Hagadorn JW, Bottjer DJ (1999) Unexplored microbial worlds. Palaios 14:1–93
Lowe DR, Tice MM (2007) Tectonic controls on atmospheric, climatic, and biological evolution 

3.5–2.4 Ga. Prec Res 158:177–197
Margulis L (2009) Pavements along memory lane and castles of sand long before “Man”. Earth 

Sci Rev 96:1–5



181A Modern Perspective on Ancient Life: Microbial Mats in Sandy Marine Settings

Noffke N (1998) Multidirected ripple marks rising from biological and sedimentological pro-
cesses in modern lower supratidal deposits (Mellum Island, southern North Sea). Geology 
26:879–882

Noffke N (1999) Erosional remnants and pockets evolving from biotic-physical interactions in a 
Recent lower supratidal environment. Sediment Geol 123:175–181

Noffke N (2000) Extensive microbial mats and their influences on the erosional and depositional 
dynamics of a siliciclastic cold water environment (lower Arenigian, Montagne Noire, France). 
Sediment Geol 136:207–215

Noffke N (2009) The criteria for biogeneicity of microbially induced sedimentary structures 
(MISS) in Archean and younger, sandy deposits. Earth Sci Rev 96:173–180

Noffke N, Krumbein WE (1999) A quantitative approach to sedimentary surface structures con-
toured by the interplay of microbial colonization and physical dynamics. Sedimentology 
46:417–426

Noffke N, Gerdes G, Klenke T, Krumbein WE (1996) Microbially induced sedimentary structures 
– examples from modern sediments of siliciclastic tidal flats. Zbl Geol Palaeontol 1:307–316

Noffke N, Gerdes G, Klenke T, Krumbein WE (1997) A microscopic sedimentary succession 
indicating the presence of microbial mats in siliciclastic tidal flats. Sediment Geol 110:1–6

Noffke N, Gerdes G, Klenke T, Krumbein WE (2001a) Microbially induced sedimentary struc-
tures indicating climatological, hydrological and depositional conditions within Recent and 
Pleistocene coastal facies zones (southern Tunisia). Facies 44:23–30

Noffke N, Gerdes G, Klenke T, Krumbein WE (2001b) Microbially induced sedimentary struc-
tures–a new category within the classification of primary sedimentary structures. J Sediment 
Res 71:649–656

Noffke N, Knoll AH, Grotzinger J (2002) Sedimentary controls on the formation and preservation 
of microbial mats in siliciclastic deposits: a case study from the upper Neoproterozoic Nama 
Group, Namibia. Palaios 17:1–14

Noffke N, Gerdes G, Klenke T (2003a) Benthic cyanobacteria and their influence on the sedimen-
tary dynamics of peritidal depositional systems (siliciclastic, evaporitic salty and evaporitic 
carbonatic). Earth Sci Rev 12:1–14

Noffke N, Hazen RM, Nhleko N (2003b) Earth’s earliest microbial mats in a siliciclastic marine 
environment (Mozaan Group, 2.9 Ga, South Africa). Geology 31:673–676

Noffke N, Beukes NJ, Hazen RM (2006a) Microbially induced sedimentary structures in the 2.9 
Ga old Brixton formation, Witwatersrand Supergroup, South Africa. Prec Res 146:35–44

Noffke N, Hazen RM, Eriksson K, Simpson E (2006b) A new window into early life: Microbial 
mats in a siliciclastic early Archean tidal flat (3.2 Ga Moodies Group, South Africa). Geology 
34:253–256

Noffke N, Beukes N, Bower D, Hazen RM, Swift DJP (2008) An actualistic perspective into 
Archean worlds – (cyano-)bacterially induced sedimentary structures in the siliciclastic 
Nhlazatse Section, 2.9 Pongola Supergroup, South Africa. Geobiology 6:5–20

Paerl H, Pinckney JL, Steppe TF (2000) Cyanobacterial-bacterial mat consortia: examining the 
functional unit of microbial growth in extreme environments. Environ Microbiol 2:11–26

Paterson D (1994) Siliciclastic intertidal microbial sediments. In: Stal LJ, Caumette P (eds) 
Microbial mats. Springer, Berlin

Paterson DM, Yallop M, George C (1994) Stabilization. In: Krumbein WE, Paterson DM, Stal LJ 
(eds) Biostabilization of sediments. BIS, Oldenburg

Prave AR (2002) Life on land in the Proterozoic: evidence from the Torrodonian rocks of north-
west Scotland. Geology 30:811–814

Reid RP, Visscher PT, Decho AW, Stolz JF, Bebout BM, Dupraz C, MacIntyre IG, Pearl HW, 
Pinckney JL, Prufert-Bebout L, Steppe TF, DesMarais DJ (2000) The role of microbes in 
accretion, lamination and early lithification of modern marine stromatolites. Nature 
406:989–991

Runnegar BN, Fedonkin MA (1992) Proterozoic metazoan body fossils. In: Schopf JW, Klein C 
(eds) The Proterozoic biosphere, a multidisciplinary study. Cambridge University Press,  
New York



182 N. Noffke

Sarkar S, Banerjee S, Eriksson PG, Catuneau O (2005) Microbial mat control on siliciclastic 
Precambrian sequence stratigraphic architecture: examples from India. Sediment Geol 
176:191–205

Schieber J (1989) Facies and origin of shales from the mid-Proterozoic Newland Formation, Belt 
Basin, Montana, USA. Sedimentol 36:203–219

Schieber J, Bose, PK, Eriksson, P, Banerjee, S, Sarkar, S, Alterm, ann, W, and Catuneau, O (2007) 
Atlas of microbial mat features preserved within the siliciclastic rock record. Elsevier Science, 
Oxford, 311 p

Schopf JW, Kudryavtsev AB, Czaja AD, Tripathi AB (2007) Evidence of Archean life: stromatolites 
and microfossils. Prec Res 158:141–155

Stal LJ (2000) Cyanobacterial mats and stromatolites. In: Whitton BA, Potts M (eds) The ecology 
of cyanobacteria. Kluwer, Dordrecht, The Netherlands

Stolz J (2000) Structure of microbial mats and biofilms. In: Riding R, Awramik S (ed) Microbial 
Sediments. Springer-Verlag, Berlin, 256 p

Villbrandt M (1992) Interactions of nitrogen fixation and photosynthesis in marine cyanobacterial 
mats (Mellum, southern North Sea). Ph.D. thesis, University of Oldenburg, Oldenburg

Walter MR, Schopf JW, Rujii C (2007) Earliest evidence of life on Earth. Prec Res 158:3–4
Yallop ML, De Winder B, Paterson DM, Stal LJ (1994) Comparative study on primary production 

and biogenic stabilization of cohesive and non-cohesive marine sediments inhabited by micro-
phytobenthos. Estuar Coast Shelf Sci 39:565–582



183S.D. Golding and M. Glikson (eds.), Earliest Life on Earth: Habitats, Environments  
and Methods of Detection, DOI 10.1007/978-90-481-8794-2_8, 
© Springer Science+Business Media B.V. 2011

Abstract Biological activity fractionates the nitrogen isotopes in a peculiar way, 
making them a reliable biosignature and an accurate paleoenvironmental proxy. 
Nitrogen has been ignored for long time, being extremely fragile compared to the 
more stable graphitic forms of C; however, N has an advantage over other isotopic 
systems such as those of C and S. The dominant source of N at the surface of the 
Earth, that is, the atmospheric triple-bonded N

2
, is so stable that only a very limited 

number of metabolic processes can bridge the abiotic and biotic world. Therefore 
we can draw relatively simple flux models for N. In this contribution, we review 
the N isotopic record in the last 4 billions years. Large isotopic shifts recorded by 
nitrogen are related to specific metabolic changes as a direct response to major 
environmental stress such as the rise of oxygen in the atmosphere and the evolution 
of nitrifiers and denitrifiers in the ocean. These isotopic changes are not unique but 
well correlated with those of C and Fe, indicating that nitrogen can be successfully 
used for modeling the interplay of changing microbial metabolisms over Earth’s 
history and relate them to precise environmental changes.
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1  Introduction

The most important elements in organic chemistry – C, N, H, O and S, only except 
P – have multiple isotopes. The isotopic ratio (R) of these elements (normally 
expressed by the “delta” notation d (‰) = [(R

sample
/R

std
 −1) × 1,000]) is a potential 

signature of early life and a proxy of its environment. This is the case because the 
kinetic isotope fractionation is common in biology and can be dominant over equi-
librium fractionation.

Although geological processes such as diagenesis and metamorphism may 
fractionate these isotopes, metabolic processes tend to produce different, and sometimes 
diagnostic, enrichment or depletion in certain isotopes. A classical example is the 
fixation of inorganic carbon (CO

2
, HCO

3
−) by autotrophic organisms mediated by the 

ribulose 1,5 bisphosphate carboxylase/oxygenase enzyme, otherwise known as 
RubisCO. This metabolic process always produces a specific isotope fractionation 
favoring the lighter isotope of C. Thus, the produced C

org
 is 12C-enriched with char-

acteristic d13C values (where the ratio R is 13C/12C) of −17‰ to −30‰ compared to 
the Dissolved Inorganic Carbon (DIC) that has a d13C value from −10‰ to 0‰. The 
kinetic fractionation deriving from the multi-step processes of atmospheric N

2
 

fixation, ammonification (products: NH
3
–NH

4
+), nitrification (NO

3
–), denitrifica-

tion (N
2
O, N

2
) produces also a distinctive isotopic signature (d15N = +5‰; where 

R = 15N/14N) of the oceanic nitrate assimilated by primary producers such as phy-
toplankton (DON) (e.g., Sigman et al. 2009). In this case, the heavier isotope of 
N (15N) is enriched in the organic product compared to the inorganic, atmospheric 
source. When the organic matter is buried in the sediment, it preserves the peculiar 
isotopic fractionation of the nitrate (Altabet and Francois 1994).

Isotopic ratios of C (d13C) and N (d 15N) are normally measured in modern marine 
sediments. They are extremely helpful to identify the metabolic pathways regulating 
the fate of those elements in the ocean (Peters et al. 1978) and/or the source of organic 
matter that supply sediments (terrestrial against marine) in transitional environments 
(e.g., Thornton and McManus 1994). Changes in ocean circulation and nutrient sup-
ply, which occur in response to changes in environmental conditions, affect the rela-
tive importance and spatial extent of the major metabolic pathways of these elements, 
making their isotopic signatures also a sensitive paleoenvironmental proxy (Scholten 
1991; Macko and Engels 1993; Altabet and Francois 1994). This is the principle of 
isotopic chemostratigraphy, which has been successfully applied from most recent 
times back to the Proterozoic.

In Precambrian sedimentary rocks, particularly those spanning in age from 
Paleoarchean to Mesoarchean (3.8 – 2.8 Ga), “isotopic fossils” such as N and C 
isotopes are one of the few available records of the biomass present at that time and its 
metabolic activity. Microfossils are indeed rare (Schopf 2006) and their interpretation is 
often highly debated (Schopf et al. 2002; Brasier et al. 2002; López-Gárcia et al. 2006; 
Pinti et al. 2009b). On the other hand, it is not well understood how metamorphic-related 
devolatilization processes could alter the original biological isotopic signature of C and 
N in the rock (Schidlowski 2001; Dauphas and Marty 2004; Pinti et al. 2001, 2009a).
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In this chapter, we review the nitrogen isotopic record in Precambrian rocks. 
We will firstly show how N is bound in different chemical sediments and minerals. 
We then discuss the N isotopic signatures observed in several suites of rocks spanning 
from 3.8 to 0.5 Ga and how to interpret them in terms of metabolic response to major 
environmental changes.

2  Nitrogen in Rocks

Since the pioneering work of Stevenson (1962) and Barker (1964), nitrogen is 
believed to occur in rocks mainly as ammonium (NH

4
+) in two forms. The first 

chemical form is exchangeable ammonium, adsorbed on the charged surfaces of clay 
minerals and representing organic nitrogen that has been decomposed in sediments 
most recently (Williams et al. 1995). The second form is fixed ammonium, which is 
strongly bound in the lattice structure of K-bearing minerals – feldspars, plagioclase, 
biotite and muscovite. Indeed, ammonium has an ionic radius of 0.143 nm, slightly 
larger than that of K+ (0.138 nm) and thus it can replace potassium in most silicate 
minerals (Honma and Itihara 1981). The best example of ammonium replacement is 
illustrated by buddingtonite (NH

4
AlSi

3
O

8
 × 1/2H

2
O) a hydrothermal mineral con-

taining up to 4 wt.% of ammonium (Orberger et al. 2005). Nitrogen resides mainly 
in the ammonium form in magmatic (Honma and Itihara 1981; Boyd et al. 1993; 
Hall 1999; Busigny et al. 2005), metamorphic (Duit et al. 1986; Bebout and Fogel 
1992; Sadofsky and Bebout 2000), and sedimentary rocks (Williams et al. 1995; 
Holloway and Dahlgren 1999; Boyd 2001). Ammonium concentrations vary from 
several thousands ppm for unaltered mica (Hall 1999; Pitcairn et al. 2005) down to 
a few ppm for metamorphosed sedimentary rocks (Pinti et al. 2001).

Another important reservoir of nitrogen is the so-called organic-N (N
org

) corre-
sponding to N bound in biomolecules and preserved into carbonaceous matter when 
this latter is progressively transformed into polymeric kerogen (Ader et al. 2006; 
Boudou et al. 2008). Nitrogen could exist in other chemical forms (supposed but 
never proven NH

3
 in cherts; Wlotzka 1969) and in other mineral host phases. 

Recent work of Gallien et al. (2004), Orberger et al. (2005), Pinti et al. (2007) and 
Hashizume et al. (2008) suggests that nitrogen resides in quartz, iron oxides, Fe–Ni 
sulfides and phosphates. Except for N

org
 chemisorbed on the intra-layer surfaces of 

iron oxides (Pinti et al. 2007), the other chemical forms of N in those minerals have 
been not yet clearly identified.

Nitrogen is also found in fluid inclusions. Research carried out in Precambrian 
rocks (Sano and Pillinger 1990; Pinti et al. 2001; Pinti 2002) suggested that nitro-
gen could be either in the form of ammonium (NH

4
+) or ammonia (NH

3
). However, 

recent work of Nishizawa et al. (2007) in fluid inclusions from Paleoarchean cherts 
indicates that the main nitrogen form could be N

2
 and only subordinately NH

4
+. 

Further research in this domain is needed to correctly identify the chemical specia-
tion of N in fluids, its origin (inorganic versus organic) and its role in the mass and 
isotopic balance of N extracted from rocks.
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In Precambrian rocks, nitrogen as N
org

 and NH
4

+ has been measured in kerogen 
and graphite (Beaumont and Robert 1999; van Zuilen et al. 2005), chert (Sano and 
Pillinger 1990; Pinti et al. 2001, 2009a), shales (Yamaguchi 2002; Papineau et al. 
2009), iron oxides (Pinti et al. 2001, 2007; Hashizume et al. 2008) and mica (Pinti 
et al. 2001, 2009a; Jia and Kerrich 2004a, b; Papineau et al. 2005; Rouchon et al. 
2005).

3  Nitrogen Isotopes in Modern Marine Sediments: The Cycle

Nitrogen is mainly preserved in marine sediments as NH
4

+ and this is a direct 
consequence of its biogeochemical cycle in the ocean. For a better understanding 
on how N isotopes can trace back ancient metabolic pathways, we explain briefly 
the N biogeochemical cycle in the modern ocean. The picture is necessarily simplified. 
For a complete treatment on the subject, please refer to the reviews of Galloway 
(2003), Brandes et al. (2007) and Sigman et al. (2009). In the following description 
of the N cycle, the kinetic isotopic effect “e” of a given reaction is introduced. This 
corresponds to the ratio of rates with which the two N isotopes are converted from 
reactant to product:

 ( ) ( )= 14 15k/ k-1 x1000 ε ‰  (1)

For |e| << 1,000‰ this expression can be simplified as:

 ( )ε = δ − δ15 15
reactant productN‰ N  (2)

Nitrogen is mainly cycled in the ocean by microorganisms through three domi-
nant metabolic processes, namely fixation, nitrification and denitrification.

Atmospheric triple-bonded N
2
 enters the marine nitrogen cycle via the process of 

biological fixation (Fig. 1). N
2
-fixing organisms, mainly oxygenic and anoxygenic 

photoautotrophs, incorporate molecular nitrogen (N
org

) with little or no isotopic frac-
tionation (e £ 3‰; Fogel and Cifuentes 1993). The transformation of N

org
 to nitrate 

(NO
3
−) is a multistep process. Organic matter is degraded and mineralized through 

enzymatic breakdown into short-chain organic compounds (aminoacids, proteins) 
and then released as NH

4
+, following the process of ammonification. Again, the 

kinetic isotopic effect related to this process is negligible (Sigman et al. 2009).
Under oxic conditions, NH

4
+ is rapidly oxidized to nitrite (NO

2
−) and subse-

quently to nitrate (NO
3
−) in a two-step process called nitrification. The kinetic 

isotopic effect related to this process is large, around +16‰ (Casciotti et al. 2003). 
In suboxic environments, where dissolved O

2
 ranges between 2 and 4 mmol/L 

(Murray et al. 1995), nitrate is stepwise reduced to N
2
O and/or N

2
 by heterotrophic 

bacteria that can use NO
3
− as an alternative electron acceptor when O

2
 is not readily 

available. This process, called denitrification, is the most important sink of fixed 
nitrogen in the ocean, through the production of gaseous N

2
 escaping back to the 
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atmosphere. There are two denitrification processes that take place in oceanic 
environments: water-column and sedimentary denitrification (Sigman et al. 2009). 
The kinetic isotopic fractionation related to sedimentary denitrification is mostly 
nil (~0‰) while water-column denitrification produces a large isotopic shift of 
+25–30‰, due to the preferential use of 14NO

3
− during this process (Cline and 

Kaplan 1975). The consequence is that the gaseous N
2
 and N

2
O products are thus 

depleted in 15N, whereas the residual nitrate pool in the ocean is 15N-enriched, with 
a global oceanic value of d15N of +5‰ (Sigman et al. 2009). Recently, another 
mechanism of N loss has been identified: the anaerobic ammonium oxidation, or 
“anammox” (e.g., Strous et al. 2002; Kuypers et al. 2003), in which nitrite (NO

2
−) 

Fig. 1 Schematic illustration showing a simplified nitrogen cycle in the modern ocean. 
Atmospheric N

2
 (d15N = 0‰ by definition) is the primary input in the ocean. Atmospheric N

2
 is 

fixed into biomolecules, mediated by the nitrogenase enzyme. Degradation of organic matter 
brings newly formed N

org
 to be reduced to NH

3
 (ammonia) with little or no fractionation. At the 

pH = 8 of the ocean, NH
3
 is quickly protonated to NH

4
+ (ammonium). Heterotrophic microorgan-

isms use free O
2
 in the ocean to oxidize ammonium to NO

3
− (nitrate) with large fractionation 

(e = +16‰). In suboxic areas (O
2
 from 2 to 4 mmol/L) often corresponding to the oceanic oxygen 

minimum layer, nitrates are reduced back to N
2
O and then to N

2
 (denitrification) with large frac-

tionation (e = +25‰). This is the major output of N back to the atmosphere. The residual nitrates 
are the largest nutrient pool assimilated by phytoplankton to feed the sinking particulate N

org
; 

kinetic isotopic fractionation and mass balance produce a characteristic d15N of +5‰. This isoto-
pic signature is little fractionated during organic matter burial and diagenesis in anoxic sediments. 
Produced ammonium fixed in minerals or N

org
 trapped in carbonaceous matter (kerogen) has an 

average d15N of +7‰
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is used to reduce ammonium to N
2
 in a totally anaerobic environment. This process 

has yet unknown isotopic effects on isotope distribution in the oceans (Sigman 
et al. 2009).

It is worth to note that when the N oceanic budget is at steady state, the d15N of 
the N removed by denitrification will equal the d15N of the fixed N added. If 
denitrification with an isotopic effect of 25‰ would occur homogeneously, the 
residual nitrate should have a d15N value of +25‰ and not +5‰ as measured. This 
difference can be explained assuming a relative importance of sedimentary denitrification, 
which has no or little isotopic effect. Indeed, from isotopic and mass balance 
calculation it turns out that water-column denitrification accounts for only 30% of 
the N that flows back to the atmosphere (Sigman et al. 2003).

Primary producers, such as phytoplankton, assimilate the residual oceanic 
nitrate (NO

3
−) with an isotopic fractionation of +5‰ through the process of assimi-

lation (Fig. 1). This is an important step in the N cycle because this nitrate is 
assimilated with no or little isotopic fractionation with the consequence that the 
d15N of the sinking flux (and of sedimentary organic matter prior to diagenesis) will 
be close to +5‰ (Fig. 1). Indeed, modern marine sediments exhibit an average d15N 
value of +7‰ (Peters et al. 1978; Shen et al. 2006) close to the value for seawater 
nitrate.

The fate of N
org

 in sediments depends primarily on the redox conditions 
(Lehmann et al. 2004). In aerobic surface sediments, NH

4
+ produced from degradation 

of N
org

 is rapidly converted to nitrate and then back to N
2
. In anaerobic sediments, 

NH
4

+ is partially adsorbed on, or fixed to, clay minerals (Williams et al. 1995) or 
replaces K+ in the lattice structure of K-bearing silicate minerals (Honma and 
Itihara 1981). The isotopic effects of diagenesis during these reactions are still 
poorly known. The fact that bulk marine sediments have a d15N value close to that 
of seawater nitrate indicates that diagenesis does not modify significantly the original 
isotopic ratio, which is at the base of the use of N as a paleoenvironmental proxy 
and biosignature of life. Experimental studies have produced contrasting results. 
Lehmann et al. (2002) showed that a slight negative isotope shift of 3‰ occurs 
during microbial degradation of organic matter during suboxic early sedimentary 
diagenesis. However, N isotopic shifts towards more positive values have also been 
reported (Freudenthal et al. 2001). Most recently, Prokopenko et al. (2005, 2006) 
reported isotopic shifts of less than 1‰ in deep-sea sediments, indicating again that 
diagenesis could play a minor role in altering the N isotopic signal.

4  The Preservation of the Isotopic Signature of N in the Rock 
Record: The Role of Metamorphism and Alteration

The preservation of the pristine biological-fractionated isotopic ratio for nitrogen is 
a matter of debate. If diagenesis could be responsible for only a few permil variations 
compared to the pristine biological signature, contrasting results exist for the role 
of metamorphism and hydrothermal alteration. The pioneering work of Haendel 
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et al. (1986) showed that nitrogen isotopes measured in rocks from contact meta-
morphism aureoles are fractionated towards higher d15N moving from the external 
zone (d15N = +5‰) to the internal one (d15N = +16‰). Concomitant to this isotopic 
fractionation (14N is kinetically lost more rapidly than heavier 15N), the bulk N 
content in the rock decreases. The effect of N loss on isotopic composition can be 
modeled as: (a) a batch volatilization (one-step process), where fluids that are 
released equilibrate with the rock in a closed system; or (b) Rayleigh distillation, 
where each small aliquot of volatile that is released is immediately removed from 
the rock in an open system. The equations that govern these two processes are, 
respectively:

 = + −δ δ15 15
final 0N N (1 )·1000f  ln α  (3)

 α−= −δ −δ15 15 ( 1)
finalN N 1000·[ 1]0 f  (4)

where d15N
0
 and d15N

final
 are the isotopic compositions before and after the meta-

morphic/hydrothermal alteration, and a is the fractionation factor. The term f is the 
residual fraction of nitrogen in the rock. Haendel et al. (1986) and Hanschamn 
(1981) calculated fractionation factors a for isotopic exchanges between N species 
(N

2
–NH

4
+–NH

3
) contained in rocks and the metamorphic/hydrothermal fluids inter-

acting with them.
This phenomenon has been clearly documented by other authors in metamorphic 

and hydrothermal systems (Bebout and Fogel 1992; Sadofsky and Bebout 2000; 
Mingram and Brauer 2001; Pitcairn et al. 2005; Jia 2006; Svensen et al. 2008) 
indicating various degrees of fractionation with D15N from 6‰ to 15‰. On the 
other hand, works from Busigny et al. (2003) and Ader et al. (2006) have showed 
that during high pressure, high temperature metamorphism, the d15N

NH4+
 shift is 

limited to +2–3‰, while the d15N
kerogen

 shift is null.
Contrasting results on the preservation of the N isotopic signal dominate also 

the Precambrian record. Boyd and Philippot (1998) showed the effect of devolatil-
ization on the d15N

NH4+
 of muscovite and biotite from Proterozoic metasediments 

of the Moine Succession, Scotland. These sediments were affected by amphibolite 
facies metamorphism. Boyd and Philippot (1998) measured d15N

NH4+
 values from 

+8 to +12‰ and NH
4

+ concentrations of 140–420 ppm in the biotite/muscovite 
host phases. Using a qualitative approach based on Haendel et al. (1986) work, 
Boyd and Philippot (1998) estimated the pristine d15N

NH4+
 values, prior of meta-

morphism, to be +5‰ to +10‰. This suggests that amphibolite facies metamor-
phism could have produced an isotopic shift from +2‰ to +8‰. Pinti et al. (2001) 
suggested possible metamorphic overprinting of the d15N values in Early Archean 
cherts up to +20‰, particularly in metachert and quartzite from the 3.8 Ga Isua 
Supracrustal Belt, West Greenland. These cherts are metamorphosed up to the 
amphibolite facies. Dauphas and Marty (2004) suggested an isotopic shift up to 
+15‰, produced by devolatilization processes, to explain the high d15N values, up 
to +23‰, measured in mica of Late Archean age by Jia and Kerrich (2004a, b).
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Most recently, Pinti et al. (2009a) showed that metamorphic/hydrothermal fluids 
could strongly alter both the d15N and the d13C values in Archean cherts. Figure 2a 
shows a rough correlation (except one sample) between bulk d15N and d13C measured 
in kerogeneous black cherts from eastern and western terranes of Pilbara Craton, 
Western Australia. This co-variation could be explained by the progressive C and N 
loss (Fig. 2b) from a unique source having an initial d15N of −6‰ and d13C of −38‰. 
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Fig. 2 (a) A rough correlation between the bulk d15N and d13C measured in 3.5–3.2 Ga  kerogeneous 
cherts from Pilbara Craton, Western Australia (From Pinti et al. 2009a, redrawn). Shaded area is 
the isotopic variations expected for devolatilization of cherts and isotopic exchange between 
N

2
–CO

2
 rich metasomatic fluids and chert at 100–350°C. Arrow indicates the isotopic variation of 

C and N by low-temperature oxidation of organic matter (Ueno et al. 2004; Pinti et al. 2009a). 
(b) The fraction of residual N in cherts (F) against the N isotopic composition, after devolatilization 
of a pristine source represented here by sample PANO D-136-0 (Data from Pinti et al. 2001). 
Straight lines represent results of a batch volatilization and isotopic exchange between NH

4
+ (rock) 

and N
2
 (fluid) at 100°C and 350°C, respectively. Curves represent results of a Rayleigh volatiliza-

tion and isotopic exchange between NH
4
+ (rock) and N

2
 (fluid) at 100°C and 350°C, respectively. 

Fractionation factors are calculated from data of Hanschamn (1981). (c, d) The N and C isotopic 
composition of studied cherts plotted against the Ba/La ratio. The correlation suggests progressive 
alteration of the pristine signatures by hydrothermal or metamorphic fluids
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The residual N and C pool is consequently enriched in 15N and 13C, with the highest 
d15N and d13C values measured around +4 ‰ and −19‰, respectively (Fig. 2a).

This process could be related to, hydrothermal alteration as observed in the 
North Pole silica veins (Ueno et al. 2004); or metamorphic devolatilization (Fig. 2b; 
Pinti et al. 2001). Correlation between C and N isotopic composition and trace 
 element ratios Co/As (not shown here) and Ba/La (Fig. 2c) suggests hydrothermal 
alteration as the main process of modification of the N isotopic composition in 
cherts. Indeed, there is a direct correlation between the Ba/La ratio and the C and 
N isotopic composition (Fig. 2c) that could reveal the progressive enrichment of Ba 
in the hydrothermal altered residue (Humphris and Thompson 1978). The nitrogen 
isotopic shift can be produced by isotopic exchange at 350°C between the chert and 
the hydrothermal/metamorphic fluids following the reaction (Hanschamn 1981):

 + ++  + 15 14 14 15 14
fluid 4 rock 4 rock 2fluidN NN NH NH  (5)

Glikson et al. (2008) measured d13C values from −36.5‰ to −32.1‰ of the 
Dresser Formation carbonaceous matter. The C isotopic signature was negatively 
correlated with TOC (0.13–0.75%) and positively correlated with the C/N ratio 
(134–569), which was interpreted to reflect the relative abundance of high reflectance/
oxidized/recycled carbonaceous matter and preferential loss of 12C and N during 
thermal maturation. Though devolatilization could explain part of the observed C 
isotopic variations, a more plausible mechanism to make carbonaceous matter 
enriched in 13C to such a large extent, with d13C values up to −20‰ (Fig. 2a) is by 
isotopic exchange with carbonate, in presence of metamorphic CO

2
 fluids (Valley 

and O’Neil 1981; Ueno et al. 2002). This enrichment is favored by the relatively 
high diffusivity of the carbonate phase, originally enriched in 13C, compared to the 
graphitic phase, by which the latter phase becomes progressively enriched in 13C 
(Hoefs 2004). This process could take place at temperatures as low as 270°C 
(Morikiyo 1984) corresponding to the temperatures reached by the greenschist 
facies metamorphism of the Pilbara Craton.

It is worth to note that Schidlowski et al. (1983) already suggested isotopic 
exchange between graphite and carbonate to explain the C isotopic variations in 
early Archean rocks. Thus, isotopic exchange between N

2
 and NH

4
+ and between 

carbonate C and graphite C, promoted by pervasive CO
2
–N

2
 hydrothermal or meta-

morphic fluids at temperatures £ 350°C, could strongly alter the pristine isotopic 
composition of N and C in Precambrian rocks.

5  The Significance of 15N-Depleted Nitrogen in Early  
Archean Organic Matter

Beaumont and Robert (1999) showed that nitrogen extracted from Early Archean 
kerogens has a peculiar isotopic composition with d15N values from −6‰ to 0‰, 
while Proterozoic and Phanerozoic kerogens have d15N shifted towards 15N-enriched 
values (from +6‰ to +20‰). Pinti et al. (2001, 2009a) and Ueno et al. (2004) 
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confirmed the existence of nitrogen with d15N values ranging from −7‰ to −4‰ in 
the Archean hydrothermal silica veins of the 3.49 Ga Chert-Barite Unit at North 
Pole, Pilbara Craton, Western Australia (Fig. 3). Papineau et al. (2005) and van 
Zuilen et al. (2005) measured d15N values from −3‰ to +6‰ from mica and 
 graphite recovered from the 3.8 Ga metasediments of the Isua Supracrustal Belt, 
West Greenland. Finally, Yamaguchi (2002) measured d15N values from +2.5‰ to 
+8.0‰ in Archean shales (Fig. 3).

The occurrence of lighter d15N values in Archean rocks and organic matter 
compared to the Proterozoic equivalents was supposed to represent a shift in the 
metabolic pathways of nitrogen, from a biosphere dominated by N-fixation in an 
anoxic Archean ocean, to an oxic ocean where nitrifiers and denitrifiers flourished, 
cycling the nitrogen (Beaumont and Robert 1999). Pinti and Hashizume (2001) 
challenged this interpretation by suggesting that the cherts studied by Beaumont 
and Robert (1999) are biased samples of Archean biota because most of them are 
deposition of silica from hydrothermal fluids. Pinti and Hashizume (2001) and Pinti 
et al. (2001) related the 15N-depleted values measured in Archean kerogens to inor-

Fig. 3 Histogram of the N isotopic composition measured in the Paleoarchean bulk rock record. 
Data are: kerogen (Beaumont and Robert 1999; van Zuilen et al. 2005); cherts and BIF (Sano and 
Pillinger 1990; Pinti et al. 2001, 2007, 2009a, b; unpublished data); mica (Pinti et al. 2001; 
Papineau et al. 2005); shales (Yamaguchi 2002). Data have been compiled and are available in 
Thomazo et al. (2009)
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ganic sources of N (N
2
, NH

3
), possibly mantle N, metabolized by chemosynthetic 

bacteria living in proximity to the hydrothermal vents. These communities are 
indeed able to fix inorganic N, producing large negative isotopic shifts in the 
biological residue (d15N from −4‰ to −10‰; Conway et al. 1994).

Nishizawa et al. (2007) measured the isotopic signature of N contained in 
Archean fluid inclusions. Isotopic variations were interpreted as a mixing between 
a paleoseawater component with d15N

N2
 from −0.7‰ to −0.2‰ and a hydrothermal 

component containing nitrogen depleted in15N (d15N
N2

 = −3.0 and d15N
NH4+

 = −12.6‰). 
The biological assimilation of this hydrothermal NH

4
+ component might explain 

the 15N-depleted values found in Early Archean kerogens.
The occurrence of carbonaceous matter with d13C

org
 of less than −38‰ (Ueno 

et al. 2004) and associated fluids with d13C
CH4

 of less than −56‰ (Ueno et al. 2006) 
have been interpreted as the result of the metabolic activity of methanogens in a 
seafloor hydrothermal environment, supporting the hypothesis of Pinti and 
Hashizume (2001). But lighter d13C

CH4
 values have been also interpreted as resulting 

from abiological processes (Sherwood-Lollar and McCollom 2006), although the 
same processes would be unable to mimic the lighter d15N.

Jia and Kerrich (2004a, b) reported d15N values up to +24‰ in ca. 2.7 Ga old 
kerogens, higher and more varied than those measured in contemporary cherts of 
any other ages. Kerrich et al. (2006) interpreted the high d15N values as a residual 
signature of a veneer atmosphere having an initial chondritic composition, with 
d15N values from +30‰ to +42‰ (Gilmour 2003). The isotopic shift from +24‰ 
to 0‰ in the present atmosphere was interpreted as the combination of three 
processes: (1) degassing of 15N-depleted mantle N

2
 (d15N= −5‰ ± 2‰); (2) 

progressive sequestration of atmospheric chondrite-like N
2
 in sedimentary rocks by 

fixing organisms; and (3) return flux of 15N-depleted nitrogen to the atmosphere as 
a byproduct of some sort of metabolism.

Although an interesting alternative hypothesis, there are several lines of evidence 
against an N extraterrestrial input:

 1. Early Archean paleoseawater N isotopic values suggest that the d15N of the 
atmosphere was between −1‰ to +2‰ since 3.5 Ga (Sano and Pillinger 1990; 
Pinti et al. 2001, 2009a; Nishizawa et al. 2007).

 2. If the d15N and associated d13C values measured in Late Archean kerogens are 
similar to those of molecular organics from chondrites (e.g., Gilmour 2003), the 
elemental ratio C/N is not (Pinti and Hashizume 2008).

 3. If we assume the validity of the model of Javoy (1998) of an Enstatite Chondrite 
source for the mantle N (d15N = −25‰) mixed with a Late Veneer chondritic 
source (d15N = +42‰), then the occurrence of d15N values of −5‰ in Early 
Archean diamonds clearly indicate that the surface’s reservoirs of the Earth has 
been isotopically homogenized very early in the Earth’s history (Cartigny et al. 
2001), excluding a strong isotopic unbalance among the surface reservoirs such 
the atmosphere.

Both positive and negative d15N values have been recorded in organic matter (N
org

), 
minerals and metasedimentary rocks (NH

4
+) of ages from 3.8 to 2.9 Ga (Sano and 
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Pillinger 1990; Beaumont and Robert 1999; Pinti et al. 2001, 2007, 2009a; 
Yamaguchi 2002; Ueno et al. 2004; Papineau et al. 2005; Van Zuilen et al. 2005) 
(Fig. 3). If some of the positive values can be attributed to devolatilization and 
isotopic fractionation (Fig. 2 and Pinti et al. 2001, 2009a) others seem to be pris-
tine. Pinti et al. (2007) measured a d15N value of +6‰ and a C/N molar ratio of 50 
in iron hydroxides possibly precipitated from very hot hydrothermal fluids. These 
values are similar to those measured in organic matter preserved in modern marine 
sediments, but it is not a modern organic contamination. The N component is 
indeed strongly bound by chemisorption on the iron surface and then embedded in 
the lattice during iron oxidation and crystal growth.

Figure 3 shows the frequency distribution of the measured d15N values in the 
Paleoarchean rock record (3.8 – 3.2 Ga). From 3.2 to 2.7 Ga there is a lack of 
data. Most of samples are centered at 2‰ with a second population centered at 
−4‰ and a few sparse data with d15N values higher than +8‰, mostly being 
mica from the 3.8 Ga terranes of Isua. Shen et al. (2006) already noticed this 
bimodal distribution that could be explained by a diversified biosphere with 
anoxygenic photosynthetic mats, stromatolites and cyanobacteria at the surface 
of the ocean, and methanogens and chemolithoautotrophs at depth, close to 
hydrothermal habitats (Nisbet and Sleep 2001; Shen et al. 2006). Both ecosystems 
use inorganic sources of N, cycled through biological fixation: the first microor-
ganisms used energy from sunlight (268 mW/m2) and atmospheric N (Rosing 
et al. 2006); the seconds used energy derived from chemical gradients (87 mW/
m2) and mantle N (Pinti et al. 2001, 2009a, b). Biological reduction of N mediated 
by nitrogenase – i.e. the N

2
 fixation – could be indeed one of the oldest meta-

bolic reactions (Raymond 2003) and recently Mehta and Baross (2006) showed 
that fixation might be responsible for the transformation of mantle N into N

org
 in 

chemosynthetic Archaea communities.
Recently, Zerkle et al. (2008) examined the effects of varying Fe, Mo, and P 

concentrations on d15N fractionation during N
2
 fixation in the cyanobacterium 

Anabaena variabilis. They showed that when it is cultured in Fe-enriched media 
([Fe] = 50 nmol/L), this organism produces biomass up to 3‰ lower in d15N than 
when it is cultured in Fe-limited media ([Fe] < 50 nmol/L). Zerkle et al. (2008) 
concluded that enhanced Fe availability during periods of widespread ocean 
anoxia (as during Early Archean) could have further stimulate the production of 
15N-depleted biomass by N-fixing organisms, contributing to the isotopic record.

Whether the N isotopic record during the Paleo- and Mesoarchean reflects N 
biological fixation by different microorganisms in different paleoenvironments 
(photosynthetizers against chemosynthetizers; Pinti and Hashizume 2001) or just reflect 
variations in the supply of nutrients to the ocean (Zerkle et al. 2008), the isotopic 
record cannot give conclusive arguments on the metabolic processes regulating the 
N outputs in the Archean ocean. N fixation is indeed the N input in the modern (and 
possibly ancient) biological cycle. In the modern ocean, the N output is regulated 
by denitrification of nitrates to N

2
, that returns back to the atmosphere. In absence 

of significant oxygen in the Early Archean, seawater nitrate should be scarce. Thus 
we should expect alternative metabolic pathways to nitrification-denitrification. 
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The easiest sink for N would be the hydrothermal alteration of N
org

 or NH
4

+ buried 
in sediments (Summers 1999). Indeed most of the Archean terranes show wide-
spread hydrothermal alteration and hot fluids could have rapidly degraded N. Up to 
90% of the N

org
 trapped in Archean metasedimentary rocks could have been 

removed by this process, as indicated in Fig. 2b (Pinti et al. 2009a). An appealing 
metabolic process that has been advocated as the major N sink in the Archean (e.g., 
Papineau et al. 2005) is the anaerobic ammonium oxidation, or “anammox”. Yet, 
we need to explain how half of the nitrogen involved in the reaction could have 
been partially oxidized to nitrite (NO

2
−) to participate to the reaction, in a com-

pletely anoxic Archean ocean. Further, the isotopic fractionation induced by this 
metabolic process is not yet known (Sigman et al. 2009). This hypothesis is yet at 
the stage of pure speculation.

6  Isotopic Shifts Recorded by N, C and Fe at Late Archean:  
A Reaction to the Progressive Oxygenation of the Earth

Most of the measured d15N
org

 in the Late Archean range between +6‰ and +24‰ 
(e.g., Jia and Kerrich 2004a, b), while a few banded iron formations and shales 
show d15N

org
 values up to +40‰ (Beaumont and Robert 1999; Yamaguchi 2002; 

Fig. 4). These are the highest isotopic values found in the rock record.
The large isotopic shift at around 2.7 Ga is observed also in the isotopic records 

of carbon (d13C) and of iron (d56Fe) (Fig. 4). The carbon isotopic record of carbo-
naceous matter is restricted to d13C values between −20‰ to −40‰ since 3.5 Ga 
(Fig. 4) except for data from the 3.8 Ga Isua supracrustal rocks. These latter have 
d13C of the graphitic C from −25‰ to −10‰ indicating likely a mixing between 
organic sources (the lighter; Mojzsis et al. 1996) and inorganic C produced by 
metamorphic reactions (the heavier; van Zuilen et al. 2002). At around 2.7 Ga, the 
lowest d13C

org
 values ever recorded, down to −60‰, have been measured (Fig. 4).

Iron is a nutrient and often a catalyst in metabolic reactions. For this reason, the 
isotopic fractionation of iron (d56Fe with R = 56Fe/54Fe) is related to biological activity 
(Beard et al. 2003; Johnson et al. 2008). However, the isotopic variability of iron is 
relatively restricted compared to that of C and N, generally to ±1‰ around the 
standard value (Fig. 4). At around 2.8–2.7 Ga, iron shows the largest isotopic shift 
ever recorded, with measured d56Fe values down to −3‰ (Fig. 4).

The concomitant large isotopic shifts observed for these three isotopic biosigna-
tures could indicate a simultaneous change in the metabolic pathways of these three 
elements, as a direct response to a major environmental stress: the progressive 
oxygenation of the ocean. Johnson et al. (2008) already noticed the isotopic 
co-variation of C and Fe between 3.0 and 2.4 Ga, suggesting that both isotopic 
fractionations could be related to a change in metabolisms as a response to the slow 
rising of free O

2
 in the ocean. This does not necessarily mean a full-oxygenated 

ocean, as proposed by others (Ohmoto 1997), but instead local condition of 
enhanced oxygenation (oxygen oasis; Johnson et al. 2008).
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Fig. 4 N, C and Fe isotopic record between 3.8 and 1.5 Ga. Refer to Thomazo et al. (2009) for 
compilation of literature data. The N database has been updated with unpublished data of Pinti. 
The shaded area between 2.8 and 2.3 Ga highlights the large and contemporaneous isotopic shifts 
measured for the three isotopic systems
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Indeed, the strong decrease in d13C values for organic carbon at around 2.7 Ga 
(Fig. 4) could reflect methanotrophy in the presence of free O

2
 (Hayes et al. 1983; 

Johnson et al. 2008), which occurs via the reaction:

 + → + +4 2 2 2 27CH 8O 6CH O  CO 8H O  (6)

But alternative explanations have been also suggested, such as the anaerobic 
oxidation of methane (Hayes et al. 1987) or changes in the burial rate of organic 
carbon (Bjerrum and Canfield 2004).

Among the abiologic and biologic processes that involve redox or bonding 
changes, microbial Fe3+ reduction to Fe2+ or DIR (Dissimulatory Iron Reduction) is 
the one that produce the largest quantities of isotopically distinct Fe (lowest d56Fe). 
This reaction can be expressed as:

 ( ) + ++ + → + +2
2 aq 2 23

4Fe OH  CH O 8H 4Fe  CO 11H O  (7)

DIR is enhanced by the increased availability of Fe3+ through the oxidation of 
Fe2+ by O

2
 and larger sources of organic carbon, possibly supplied by oxygenic 

photosynthesis (Johnson et al. 2008). Thus, the C and Fe isotopic variations could 
be related in some extent to the oxygen rise in the Late Archean.

7  Enhanced Denitrification or N Imbalanced Fluxes  
in the Ocean as a Response to the Oxygenation  
of the Earth

The large N positive isotopic shift recorded around 2.7 Ga (Fig. 4) could be also 
caused by the slow rise of oxygen in the ocean.

Simplifying the N biogeochemical cycle (Fig. 1) and assuming steady-state 
conditions, the d15N

biosphere
 can be explained by three fluxes in the ocean:

 1. An input that is N
2
 fixation (d15N

input
 = d15N

N2
 − D

input
 » 0‰)

 2. A sink (output) that is denitrification (d15N
output-A

 = d15NO
3

− − D
output-A

)
 3. Another sink that is nitrate assimilation and particulate nitrogen (PN) burial 

(d15N
output-B

 = d15NO
3
− − D

outut-B
)

The proportions of these three fluxes are 1: a : 1 − a. Given that nitrate is the 
major N form in the ocean, we can assume that:

 −δ ≈ δ = ∆ ×α + ∆ × −α15 15
biosphere 3 output-A output-BN NO (1 )  (8)

Depending on the relative importance of the water-column denitrification or of 
assimilation, we can assume that:

 ≤ ≤∆ ε ≈ +output - A water - column denitrification0 25‰  (9)
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 ≈≤ ∆ ε +≤output - B assimilation0 5‰  (10)

and consequently,

 δ ε ε≤ ≤15
biosphere denitrification assimilation0 N max( , )  (11)

In the present ocean, denitrification is limited (and thus its isotopic effect on 
residual nitrate) because denitrifiers need suboxic conditions to operate (O

2
 = 10−2 

Present Atmospheric Level or 3 mmol/L). These environmental conditions are 
reached in localized areas of the ocean of high primary productivity, where mini-
mum oxygen layers can develop extensively during C oxidation (such as the Arabian 
Sea; Altabet et al. 2002). The large isotopic shift recorded around 2.7 Ga (up to 
+24‰; Fig. 4) could indicate that denitrification (and its isotopic effect on nitrate) 
was dominant over that of assimilation. This is not surprising if free O

2
 were slowly 

rising in the atmosphere and the ocean. Indeed this process could have enhanced the 
formation of widespread suboxic layers where the denitrifiers could have consumed 
the few nitrates formed, leaving largely fractionated residual nitrate pool to be 
assimilated by primary producers and buried with organic matter (Fig. 1).

A dynamic imbalance between the input and output fluxes of N in the ocean 
could also explain the large isotopic shift observed in Fig. 4. The degree of isotopic 
fractionation of the residual nitrate which is assimilated by microorganisms and then 
buried within sediments as PN (d15N

biosphere
 » d 15NO

3
−) depends on the availability of 

the input nitrate pool, which constitutes the reactant in the reaction of denitrification. 
If the reactant N (NO

3
−) is continuously supplied and consumed, then the residual N 

reactant is exported at a constant rate. The gross supply of reactant N equals the sum 
of the product N and the residual reactant N exported (e.g., Sigman et al. 2009). This 
is the steady-state condition and the isotopic ratio of the residual nitrate, after deni-
trification, will follow the expression (Mariotti et al 1981; Sigman et al. 2009):

 δ = δ + −15 - 15 -
3 residual 3 initialNO NO ( )1 fε  (12)

where d15NO
3

−
residual

 is the isotopic ratio of the residual nitrate; d15NO
3

−
initial

 is the 
isotopic ratio of the initial nitrate pool; e is the kinetic isotope effect; f is the fraction 
of residual nitrate [(NO

3
−)/(NO

3
−

initial
], i.e. not consumed by the denitrification reac-

tion. In Fig. 5, we reported the result of this calculation assuming a steady-state 
conditions between an input N pool with d15N = 0‰ and the consumed NO

3
−. It can 

be observed (straight line) that when denitrification is nil, the d15NO
3

−
residual

 = d15N
ini-

tial
 = 0‰. Approaching the maximum rate of denitrification, the d15NO

3
−

residual
 

approaches the value of +25 (e
denitrification

) (Eq. 11).
If the nitrate pool is limited, which means that the reactant is consumed more 

rapidly than refueled, then the isotopic effect of the reaction will be described in 
terms of Rayleigh fractionation, following the expression (Sigman et al. 2009):

 δ = δ −15 - 15 -
3 residual 3 initialNO NO [ ( )]ln fε  (13)
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The isotopic effect on the residual seawater nitrate after denitrification on a 
limited nitrate pool (exponential curve) is much larger than at the steady-state 
(straight line; Fig. 5). The residual nitrate would be entirely consumed by primary 
producers, recording a larger isotopic fractionation, following the expression 
(Altabet 1988; Altabet and Francois 1994):

 15 15
3 residual assimilationN NOPN

− −= −δ δ ε  (14)

A dynamic imbalance between input and output N fluxes could have thus created 
a significant diversity in the isotopic composition among the buried organic matter of 
same age, sometimes exhibiting positive d15N values of +25‰ and higher, as observed in 
the geological record (Fig. 4). The presence of a limited nitrate pool (N

input
 < N

output
) could 

be explained by the fact that slowly rising free O
2
, was not yet sufficient to produce a large 

(and theoretically infinite) nitrate pool to be consumed during denitrification reactions.

8  Conclusions

Nitrogen isotopes have been neglected as a record of the early metabolic pathways, 
compared to the carbon isotopes. Recent advances in the understanding of the main 
metabolic pathways regulating the modern cycle in the ocean (e.g., Brandes et al. 2007; 

Fig. 5 Isotopic fractionation of residual nitrates (product) after denitrification of a limited nitrate 
pool (reactant), modeled following a Rayleigh distillation (exponential curve). The same process, 
but with a continuous supply of reactant (steady-state) is represented by the straight line
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Sigman et al. 2009) and the effects of geological time in the preservation of biological 
isotopic signals (Busigny et al. 2005; Ader et al. 2006; Jia 2006; Pinti et al. 2009a) 
have certainly boosted N isotopes as a reliable biosignature in Precambrian rocks. Yet, 
research in this domain need to advance further. Recent organic contamination should be 
excluded for the correct interpretation of pristine isotopic signatures. Analysis of sepa-
rate mineral phases can be useful to avoid inter-grain organic contamination (Papineau 
et al. 2005; Pinti et al. 2007). Yet, we need to perform step-heating or step-combustion 
isotopic analyses for separating N isotopic signatures coming from different sources 
and preserved in different mineral host phases (Pinti et al. 2001, 2009a). Coupling 
multiple techniques is also useful for tracing back and isolating these sources (Pinti 
et al. 2007). Nitrogen, as NH

4
+ or N

org
, resides in several minerals and its position in 

their lattice structure and bonding is not yet completely understood (Orberger et al. 
2005; Pinti et al. 2007). Most recent results indicated that the mineral structure and the 
type of chemical bonding of ammonium could influence the isotopic fractionation of 
N in mica (Pinti et al. 2009a). Finally, the still poor N temporal database needs to be 
enlarged (Fig. 4; Thomazo et al. 2009). If the present amount of data is helpful for 
tracing the main environmental changes affecting the metabolic pathways of N 
(Fig. 4), yet we lack sufficient temporal resolution for modeling the interplay of chang-
ing microbial metabolisms over Earth’s history and relating them to the environmental 
changes of the surface’s reservoirs (Garvin et al. 2009).
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Abstract Transmission Electron Microscopy (TEM) was applied to observe and 
characterize carbonaceous materials (CM) extracted from black cherts and argillite 
in drill core from the Warrawoona Group of the Pilbara Craton, Western Australia. 
The black chert came from a ‘white smoker type’ seafloor deposit in the ca. 3.49 
Ga Dresser Formation, whereas the black argillites were obtained from the 3.46 
Ga Apex Basalt. The samples were observed and analyzed in TEM combined with 
electron dispersive spectral analysis (EDS), high resolution TEM (HRTEM) to 
determine molecular ordering, and C-isotope geochemistry. The TEM and HRTEM 
observations revealed significant morphological and structural differences between 
the carbonaceous materials of the Dresser and Apex samples enabling interpretations 
in terms of primary and secondary origins, as well as metamorphic history.

Organic petrology using reflected light microscopy was used on whole rock 
 samples to observe mineral – organic matter relationship and CM structure relative 
to host rock texture. The results support an in situ, syn-depositional origin for the 
Dresser Formation CM. Reflectance % (Ro) of CM determined on polished whole 
rock  samples and polished resin-embedded CM-concentrates enabled the recon-
struction of thermal history. Several Ro populations were identified in the Dresser 
Formation samples: probable microbial cells preserved in fluid inclusions within 
quartz crystals, thermally degraded CM originally belonging to microbial cells, 

M. Glikson (*) 
P.O. Box 553, Palmwoods, Queensland 4555, Australia 
e-mail: miryam7@bigpond.com

L.J. Duck and S.D. Golding 
School of Earth Sciences, University of Queensland, Brisbane, Queensland 4072, Australia

A.H. Hickman 
Geological Survey of Western Australia, 100 Plain Street, East Perth, Western Australia 6004, 
Australia

R.E. Webb 
Centre for Microscopy and Microanalysis, University of Queensland, Brisbane,  
Queensland 4072, Australia

Integration of Observational and Analytical 
Methodologies to Characterize Organic Matter 
in Early Archaean Rocks: Distinguishing 
Biological from Abiotically Synthesized 
Carbonaceous Matter Structures

Miryam Glikson, Arthur H. Hickman, Lawrence J. Duck,  
Suzanne D. Golding, and Robyn E. Webb 

S.D. Golding and M. Glikson (eds.), Earliest Life on Earth: Habitats, Environments  
and Methods of Detection, DOI 10.1007/978-90-481-8794-2_9, 
© Springer Science+Business Media B.V. 2011



210 M. Glikson et al.

CM coating mineral grains and reworked CM particles. In contrast, the Apex Basalt 
samples yielded  consistently very high Ro values corresponding to graphite stage 
organic  metamorphism. The weak optical anisotropy of the Apex graphite is incon-
sistent with formation during regional metamorphism. Two main graphite forms 
were identified, namely platy and tubular varieties. In HRTEM the tubular form 
showed nano-tubes and fullerenes within mono-layered spheres. Furthermore, 
TEM and HRTEM show that the void enclosed mono-layered carbon nano-spheres 
are more often detached from tubular graphite, forming clusters outside the nano-
tubes. These forms are a key to the distinction between biologically and abiotically 
synthesized CM bodies, both by their small size, perfect outline and especially their 
resistance to thermal degradation.

Dresser Formation samples are isotopically light in the range of −32.1‰  
to −38.2‰ consistent with a biological source. Although TEM indicated four dis-
tinct types of CM, C-isotope analysis was undertaken on mixed CM concentrates. 
Nevertheless, the isotopically lighter samples contain a notable input from less ther-
mally degraded low Ro material. On the other hand the isotopically heavier samples 
contain  predominantly thermally degraded high Ro CM. C-isotope compositions of 
the Apex CM are generally heavier than Dresser samples, between −22.5‰ and 
−28.6‰ consistent with high thermal stress. The samples show a C-isotope trend in 
which CM at 143 m depth is isotopically lighter, whereas above and below this level 
CM becomes increasingly and consistently isotopically heavier. The upper part of 
the section is dominated by platy graphite with rare nano-tubes. Predominantly 
tubular graphite and fullerenes characterize sample SAL-13 at 142 m depth coincid-
ing with the isotopically lightest values. Below 143 m CM is less well preserved 
and predominantly of the fragmented platy graphite type, becoming increasingly 
isotopically heavier signifying close association with peridotite intrusion.

Keywords Carbonaceous materials (CM) • Transmission electron microscopy 
(TEM) • Fullerenes • Carbon isotopes • Dresser formation • Apex basalt

1  Introduction

Some of Earth’s best preserved rocks containing carbonaceous matter (CM) are 
found in the 3.53–3.43 Ga Warrawoona Group of Western Australia’s Pilbara 
Craton (Fig. 1) considered a potential host for earliest life on Earth. For the best 
part of the last 30 years, the Warrawoona Group has been the source of contentious 
microbial remains (e.g. Awramik et al. 1983; Schopf and Walter 1983; Schopf and 
Packer 1987; Schopf 1993; Furnes et al. 2004). The search for demonstrable 
‘microfossils’ from such early Archaean rocks has so far focused primarily upon 
hydrothermal chert dykes that fed into the depositional system. More recently the 
use of geochemical analytical methodologies (Ueno et al. 2001, 2002, 2004) has 
thrown light on the possible source of the CM. However, only relatively minor 
attention has been directed toward an examination of the bedded units of the 
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Fig. 1 (a) Location map of Dresser and Salgash (Apex Basalt) drillhole and other samples.  
(b) Stratigraphic section of formations dealt with in the study
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Warrawoona Group (e.g. Dunlop et al. 1978; Awramik et al. 1983; Marshall et al. 
2007), the seemingly rich CM content of which suggests a most promising source 
of possible microbial remains (Van Kranendonk 2000, 2006).

The rock samples used in the present study include drill core obtained as part of 
the Archaean Biosphere drilling project (ABDP, Hickman 2004, 2005) and the 
Pilbara drilling project (PDP, Van Kranendonk et al. 2006). Drill core obtained 
from >50 m depth is generally free of near-surface alteration effects, and is unlikely 
to be contaminated by ‘modern’ organic matter. Two rock packages within the 
lower Warrawoona Group (Fig. 1b), were analysed for CM residues; the ~3.49 Ga 
Dresser Formation of the Talga Talga Subgroup, and the 3.46 Ga Apex Basalt mem-
ber of the Salgash Subgroup (Warrawoona Group stratigraphy as revised by Van 
Kranendonk et al. 2006). The Dresser Formation samples reported in the present 
study were dated using lead isotopes of pyrite (model ages = 3.48–3.52 Ga; Golding 
et al. this volume). The Apex Basalt was not directly dated, but its age is closely 
constrained to ~3.46 Ga by the underlying 3.474–3.463 Ga Duffer Formation and 
the overlying 3.458–3.427 Ga Panorama Formation (Van Kranendonk et al. 2002, 
2006). An objective of this project has been the isolation and study of CM sourced 
from these bedded units, utilising a series of analytical and observational tech-
niques with the aim of determining its nature, thermal history, and possible origin/s. 
The Dresser Formation CM was compared with the extant hyperthermophilic 
archaeon Methanocaldococcus jannaschii (Glikson et al. 2008), providing further 
constraints on the origin of the morphologically and structurally distinct entities 
found in the CM in these very old lithologies (Table 1).

2  Geological Setting of the Warrawoona Group

The Pilbara Craton is a 250,000 km2 ovoid segment of 3.80–2.83 Ga Archean crust 
that underlies the north-western part of Western Australia. Most of the southern part 
of the craton is concealed by overlying 2.77–2.45 Ga rocks of the Fortescue and 

Table 1 Carbon isotope and major element composition for Dresser Formation CM samples; data 
for samples DF-7, DF-10, DF-16, DF-17, EZ2-180.5 and EZ2-199.5 from Glikson et al. (2008)

Sample 
number d13C‰ C% S% H% N%

H/C 
atomic

N/C 
atomic

DF-1 −37.7 64.63 17.00 0.66 0.23 0.122 0.003
DF-2 −38.2 43.32 35.52 0.53 0.18 0.146 0.003
DF-3 −36.2 40.95 38.05 0.47 0.19 0.138 0.004
DF-5 −36.9 11.15 63.85 0.17 0.07 0.182 0.005
DF-6 −34.8 32.90 44.51 0.16 0.07 0.058 0.002
DF-7 −33.3 14.63 51.07 0 .24 0.03 0.196 0.002
DF-9 −34.9 25.22 50.93 0.04 0.13 0.019 0.004
DF-10 −32.1 68.02 16.41 0.73 0.19 0.128 0.003
DF-16 −34.4 19.77 54.19 0.18 0.12 0.109 0.005
DF-17 −36.5 27.92 52.48 0.16 0.14 0.068 0.004
EZ2-180.5 −34.0 29.90 34.55 1.17 0.26 0.466 0.007
EZ2-199.5 −34.4 8.11 51.79 0.17 0.07 0.250 0.007
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Hamersley Basins, but in the north the craton is well exposed within a 60,000 km2 
inlier. Here, the craton comprises six major components, in order of decreasing age: 
3.80–3.55 Ga early crust (only very rarely exposed); the 3.53–3.17 Ga East Pilbara 
Terrane; the 3.27–3.06 Ma West Pilbara Superterrane (three granite-greenstone ter-
ranes); the 3.20–2.89 Ga Kurrana Terrane; the 3.02–2.93 Ma De Grey Superbasin 
(five predominantly sedimentary basins, and three contemporaneous, mainly 
 granitic, supersuites); and the 2.89–2.83 Ga Split Rock Supersuite (late- to 
 post-tectonic granitic intrusions).

The Warrawoona Group is the oldest lithostratigraphic group of the Pilbara 
Supergroup that comprises the supracrustal succession of the East Pilbara Terrane 
(Van Kranendonk et al. 2006). The group comprises four predominantly volcanic 
subgroups (i.e. 3.52–3.49 Ga Coonterunah Subgroup, 3.49–3.48 Ga Talga Talga 
Subgroup, 3.47–3.46 Ga Coongan Subgroup and 3.46–3.43 Ga Salgash Subgroup). 
Each of these subgroups is made up of one or more volcanic cycles, commencing 
with the eruption of komatiite, followed by much thicker (generally 2–4 km) 
accumulations of pillow basalt flows. The basalts are overlain by dacite and 
rhyolite formations that typically underlie thin units of clastic sedimentary rocks 
and chert. Granitic intrusion was closely contemporaneous with felsic volcanism. 
The volcanic cycles indicate repeated episodes of heating and melting of the 
middle to lower crust and upper mantle, probably in response to mantle plumes 
(Van Kranendonk et al. 2002, 2006). Tectonic activity included uplift and exten-
sion above granitic intrusions, followed by collapse of the upper parts of the 
volcanic piles to establish shallow, faulted, hydrothermally active basins. These 
caldera-like environments lasted for several million years, before being inun-
dated by lavas of the next volcanic cycle. Such post-collapse hydrothermal depo-
sition is recorded at 3.48 Ga (Van Kranendonk 2006), 3.46 Ga (Dimarco and 
Lowe 1989), and 3.44 Ga (Nijman and de Vries 2004). Volcanic activity ceased 
at 3.43 Ga, and was followed by a 75 million year period of extensive subaerial 
erosion, leading to the development of the 30,000 km2 shallow-water marine to 
fluviatile basin of the Strelley Pool Formation (Hickman 2008). Overlying basal 
conglomerate and sandstone, shallow-water  carbonate rocks of this formation 
(now commonly replaced by secondary chert) contain structures widely inter-
preted as stromatolites (Hofmann et al. 1999; Grey et al. 2002; Allwood et al. 
2006, 2007).

2.1  Dresser Formation

The stratigraphic units sampled for the present study are hosted within the East 
Pilbara Terrane of the east Pilbara Craton (Fig. 1). The oldest of these is the 
3,490 ± 10 Ma (Thorpe et al. 1992; Hickman and Van Kranendonk 2008; Van 
Kranendonk et al. 2008) Dresser Formation that outcrops only in the North Pole 
Dome locality of the Panorama greenstone belt, approximately 160 km south of 
Port Hedland and 40 km west of Marble Bar in Western Australia. An upper 
formation of the Talga Talga Subgroup of the Warrawoona Group (Hickman and 
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Van Kranendonk 2008), the Dresser Formation is a 1,000 m thick sequence of 
interbedded black chert, massive barite, minor felsic volcaniclastic arenites and 
pillowed to massive basalts (Buick and Dunlop 1990; Nijman et al. 1999; Van 
Kranendonk et al. 2002; Van Kranendonk 2006). This seafloor exhalative hydro-
thermal system has a mineralogy and architecture consistent with deposition 
from a white-smoker style vent (Nijman et al. 1999; Huston and Logan 2004; 
Van Kranendonk and Pirajno 2004), and is interpreted to have formed in water 
depths of <100 m (Nijman et al. 1999). Along its strike length of 50 km it com-
prises up to five lenticular members of bedded chert ± barite ± carbonate ± jas-
per, interbedded with pillow basalts. The dominant lithology is extensively 
carbonate altered and silicified volcanics (Barley 1993), which is reported as of 
upper greenschist-lower amphibolite metamorphic facies (Nijman et al. 1999; 
Van Kranendonk and Pirajno 2004). The Dresser Formation has been recently 
interpreted as deposited in a tectonically active environment within the caldera 
of a felsic volcano (Van Kranendonk 2006).

Dresser Formation samples for this study (n = 12) were collected during 
field trips in 2003 and 2005 from diamond drill cores of the North Pole Dome 
massive barite deposit, with a focus on the bedded chert-barite units (Glikson 
et al. 2008).

2.2  Apex Basalt

A suite of samples was collected from the ca. 3.46 Apex Basalt of the Salgash 
Subgroup in the Marble Bar greenstone belt of the East Pilbara Terrane (Fig. 1). 
This greenstone belt outcrops around the margins of the Mount Edgar Dome, the 
total area of which is approximately 5,000 km2. Regional variations of strain in the 
greenstones, combined with variations in the degree of both contact and burial 
metamorphism result in metamorphic grades from lower greenschist facies to lower 
amphibolite facies (Van Kranendonk et al. 2002).

The Apex Basalt overlies the volcanoclastic sedimentary rocks of the Duffer 
Formation, and consists largely of pillowed Mg-rich and tholeitic basalt contain-
ing numerous thin (1–10 m thick) chert units (Hickman 1983; Zegers and van 
Keken 2001).

Samples (n = 20) were collected from diamond drill core of hole ABDP#2 
(Fig. 1a), drilled as part of the ABDP in 2003 (Hickman 2004, 2005), which inter-
sected the clastic sedimentary rocks and ultramafic units in the basal section of the 
formation. Specifically, samples were drawn from the black slate/argillite horizons 
of the basal part of the last volcanic cycle of the Warrawoona Group (Hickman 
2004). These lower units consist of a series of chert beds intercalated with sul-
phidic (Cu–Zn–Fe), carbonaceous argillites and sandstones separated by volcanic 
peridotite flows (Hickman and Van Kranendonk 2008). Recent analysis of the 
carbonaceous slates showed that they contain from 0.7–5.2% organic carbon 
(Nedachi 2004).
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3  Materials and Methodology

In the laboratory all samples were individually washed with distilled water, before the 
cores were halved lengthwise on a water-cooled diamond saw and separated into 
analytical and reference portions. Those portions destined for analysis were halved 
again, with one half being block embedded in casting resin and polished for organic 
petrology and reflectance (Ro) measurements. These same polished blocks were later 
used for SEM-EDS analysis of areas marked during observations in reflected light 
microscopy. The remaining sample portion was subsequently powdered, as outlined 
below, for use in elemental and stable isotope determinations, TEM and HRTEM.

The preparation of the CM concentrates was conducted in a clean rock preparation 
laboratory, where each sample was hydraulically crushed then powdered in a 
Retsch MM200 stainless steel ball-mill. Powders were subsequently demineralised 
by HF/HCl acid dissolution to concentrate the carbonaceous material for elemental 
analysis, C-isotope analysis and TEM. This was achieved by placing a portion 
(~5 g) of powdered sample in separate 50 ml Falcon centrifuge tubes and dampening 
with distilled water prior to half filling with warm (50°C) 38% HCl. Sealed and 
agitated, the tubes were left to heat and settle at 90°C for 2 h in a water bath, prior 
to the fluid fraction being decanted. Concentrated (50%) hydrofluoric acid (HF) 
was then added to again half-fill each tube, which were resealed and agitated before 
placement in a 160°C water bath for 12–15 h in order to increase reaction rate. 
Samples were subsequently removed from the bath, the fluid phase decanted and 
warm (50°C) 38% HCl added prior to sample re-agitation. Following settling (1–2 h), 
the fluid fraction was again decanted and the samples rinsed with distilled water 
until a near neutral pH was obtained. The remaining concentrate slurry was transferred 
into ceramic crucibles and oven dried overnight at 60°C. In the final step, the dried 
residue was powdered in a methanol-rinsed agate mortar before being sealed in 
labelled Alltech screw-cap 12 × 32 mm glass vials.

Two different techniques were used in the preparation of these samples for TEM 
analyses. Firstly, sample powders were embedded directly into EPON resin, cut 
into ultrathin sections 60–70 nm thick using a diamond knife and placed onto form-
var coated copper grids or perforated carbon-coated grids for TEM or HRTEM 
respectively. Alternatively, CM concentrates were ground in 100% ethanol using a 
mortar and pestle then pipetted onto the grid and left to air dry. This variance in 
methodology was used in an effort to identify and therefore avoid the classification 
of any potential artifacts introduced as a part of the resin embedding, and also to 
allow the three dimensional structure of the CM to be observed.

3.1  Organic Petrology

Samples for organic petrology and Ro determination were prepared as polished 
whole rock blocks and resin-embedded CM concentrates polished for reflected light 
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microscopy using established techniques (Taylor et al. 1998). Petrological analysis 
of the mineral matter in association with resident CM was further undertaken in both 
transmitted and reflected light on polished thin sections. CM  reflectance (%Ro) 
measurements were obtained using a MPV-2 photomicroscope equipped with 
 photomultiplier operating at 546-nm wavelength, with glass  standards being used for 
Ro calibration. Subsequent conversion of %Ro to a temperature scale is based on the 
Aizawa (1990) correlations of vitrinite Ro and fluid inclusion temperatures, whereby 
Ro of lipidic organic matter (microbial/algal) conversion to a vitrinite Ro scale has 
been documented in earlier studies (cf. Saxby et al. 1986; Glikson et al. 1992). 
However, all organic matter converges at 1.0%Ro (Taylor et al. 1998), and no imma-
ture CM is present in the samples of this study. Therefore conversion to vitrinite Ro 
is considered obsolete in this case and  generally in CM from Archaean rocks.

3.2  Electron Microscopy

Transmission electron microscopy (TEM) was applied to ultra-thin sections of 
resin-embedded organic matter concentrates, following the method outlined by 
Glikson and Taylor (1985). Further TEM investigations were also carried out on 
grid-adhered loose carbonaceous concentrate powders to eliminate the presence of 
resin artefacts. Ultrathin sections of freeze-dried M. jannaschii cultures were also 
observed in TEM and HRTEM (Glikson et al. 2008).

Minerals and CM features were analysed by electron dispersive spectrometry 
(EDS).

Observations and analyses were typically carried out at 80 kV on Jeol 1010 and 
2010 transmission electron microscopes. High Resolution TEM (HRTEM) investi-
gations were conducted on both a JEOL 2010 and FEI TECNAI F30 TEM at 200 
kV utilising the same sample grids used for conventional TEM observations. A Jeol 
6400 field emission SEM equipped with EDS was utilised in back-scatter mode for 
mineral identification, a process conducted on the same polished blocks used in 
reflected light observations.

3.3  C-Isotope Analysis

d13C values were determined with a stable isotope ratio mass spectrometer (GV 
Isoprime), coupled in continuous flow mode with an elemental analyser (Carlo 
Erba NA1500). Calibration was performed by use of two standards, USGS24 
(−16.1‰ d13C V-PDB) and NAT76H (−29.26‰ d13C V-PDB), which were inter-
spersed throughout analytical runs, with a third standard, ANU-SUCROSE 
(−10.5‰ d13C V-PDB), being run as an unknown. Each sample was analysed in 
duplicate, using 50–200 µg of concentrate, which was combusted at 1,020°C in 3.5 
× 5 mm tin capsules. Any sample with a beam size outside the working range of 1 
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× 10−9 to 9 × 10−9 A, or with a result variation between samples of >0.4‰ was 
reanalyzed, in accordance with laboratory quality control practices.

3.4  Total Organic Carbon (TOC) and Elemental Analysis

TOC was determined on a CM5014 Coulometer. The determination involved a two-
step process whereby the first of two portions of an individual sample was analysed 
for total C content by furnace combustion at 910°C (UIC 1995b). Total inorganic C 
was determined on the other portion of the sample by dissolving it in hot 50% H

2
SO

4
 

(UIC 1995a). TOC was determined from the difference. Carbon (C), sulfur (S), hydro-
gen (H) and nitrogen (N) contents of both whole rock powders and carbonaceous 
concentrates were determined on a Carlo Erba Model 1112 EA Elemental Analyser.

4  Results and Discussion

Carbonaceous matter (CM) recovered from 3.49 Ga Dresser Formation black cherts 
and 3.46 Ga Apex Basalt argillites were examined using organic petrology, TEM, 
microanalysis and geochemical techniques. The CM when observed in light 
microscopy displays a marked variation between formations, with that from the 
Dresser occurring as distinct morphological entities within the cherts. CM predomi-
nantly forms bedded strands and bands in the siliceous host rock indicating an in 
situ syn-depositional origin (Fig. 2). CM also constitutes dispersed particles of 

Fig. 2 Carbonaceous matter (CM) in Dresser chert is parallel to bedding. Reflected light 
 microscopy of polished whole rock surface cut perpendicular to bedding
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re-mobilized material within host rock and crosscutting veins. The layered CM, 
which can be up to millimetres in length, is typically composed of clumps of aggre-
gates that vary in size from 1 to >20 µm. The Apex Basalt CM is markedly different 
and forms platy and rod-shaped bodies in reflected light microscopy. However, the 
location of the Apex CM within the crenulated bedding planes of the host rock also 
suggests a syn- depositional origin. The Apex Basalt CM is closely associated with 
sulfides (pyrite, pyrrhotite, chalcopyrite, sphalerite), and reveals only faint surficial 
morphological features in light microscopy observations. Additional distinctions 
and detailed features are revealed using electron microscopical techniques, mainly 
TEM and HRTEM (cf. Glikson et al. 2008).

4.1  Dresser Formation Carbonaceous Matter

Several morphologically and physically distinct CM types from the Dresser 
Formation cherts have been identified and characterized (Table 2). The first type 
described here will be referred to as CM-D. Type D CM is clearly visible in TEM 
mode and forms coating of mineral grains, or fill of spaces between mineral grains 
(Fig. 3a, b). Voids in the CM concentrate as seen in TEM represent minerals 
removed from the rock during processing. This CM is amorphous in nature and 
lacks any distinguishable internal or specific surface structure apart from occasional 

Table 2 Types and characteristics in TEM of CM in Dresser Formation

CM type Structural characteristics Ro% Comments

Type A Porous loosely adhering 
aggregates. Single bodies 
characterized by very 
small central cavity.

2.5–2.8 Predominant CM in all Dresser 
samples. In light microscopy 
appears as silica-impregnated 
more or less rounded bodies. 
Thermally degraded microbial 
colonies suggested as source.

Type A1 Differs from type A by higher 
density and absence of 
distinct porosity.

3.1–3.8 Often partially enclosed by multi-
septate ‘cell’ wall. Interpreted 
microbial origin.

Type B Irregular-shaped shards/particles 
randomly distributed through 
Dresser samples.

3.2–4.8 Extreme hardness of these particles 
expressed as ‘chatter’ lines. 
Type B is the fragmented, 
re-worked type D.

Type C Spherical to elliptical, thin-walled 
vacuous bodies. Remnant 
of a surrounding membrane 
occasionally present.

1.2–1.8 Interpreted as the primary cells 
of microbial remains possibly 
preserved in fluid inclusions in 
quartz crystals.

Type D CM coating mineral grains. 2.8–3.1 CM that has softened following 
thermal effect and re-solidified 
around mineral grains. This 
type of CM may be abiotically-
formed by FTT reactions in the 
seafloor hydrothermal system.
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‘chatter’ lines (artifacts formed during sectioning of very hard material) as in type 
B. The observed homogenous nature and mode of coating of mineral grains of this 
type is consistent with re-solidification from CM that softened or fluidized as a 
result of being subjected to temperatures >200°C, following the destruction of any 
primary structures (Glikson 2001; Glikson et al. 2006; Duck et al. 2007 ). Softening 
of carbonaceous matter has been demonstrated experimentally to occur at temperatures 
around 400°C (Hower 1989). The degree of softening and fluidization of organic 
matter depends on its original composition (Khavari-Khorasani and Michelsen 1993), 
which would control molecular fluidity. This CM yields some of the higher Ro 
values recorded from the Dresser Formation samples, and may represent material 
of microbial origin subjected to extensive thermal/hydrothermal effects (Table 2). 
This may have occurred when the sediments were affected by renewed hydrother-
mal activity. A different primary composition of this material, which in younger 
sediments may be responsible for the different response to thermal stress and sub-
sequently to a different mode of preservation, is unlikely when dealing with 
Archaean CM. On the other hand, there is a distinct resemblance of this CM to that 
reported and illustrated by De Gregorio and Sharp (2003) and De Gregorio et al. 
(this volume) coating quartz grains in Apex chert. The same study interprets 
this CM as having precipitated from suspension in hydrothermal fluids syngeneti-
cally with the precipitation of quartz. An abiotic source is attributed to this CM by 
De Gregorio and Sharp (2003, 2006) and De Gregorio et al. (2005). The distinction 
of ‘chatter’ lines in TEM observations of this CM type at times points to high 
temperature thermal oxidation as discussed below. It has been suggested by 
De Gregorio (personal communication) that this type of CM may have been formed 
abiotically in close proximity of venting by FTT reactions documented from these 
environments. It has been suggested previously that both biologically-formed as 
well as abiotically synthesized CM may be present in the Dresser Formation rocks 
(e.g. Philippot et al. 2006).

Another CM type observed as minute dispersed particles in reflected light 
microscopy, and of high Ro, shows distinct ‘chatter’ marks when observed in TEM 

Fig. 3 (a, b). TEM observation of CM coating mineral grains. The latter are represented by voids 
after dissolution following CM concentration. CM is amorphous as no primary structure has been 
preserved during softening/liquefaction
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mode (Fig. 4, 3b). Chatter marks are a typical hardness indicator (O’Brien and 
McCully 1981). A close resemblance to the coal maceral ‘inertinite’ is evident, the 
latter being an oxidation product. This material, termed type ‘B’ in an earlier paper 
(Glikson et al. 2008) is a typical thermal oxidation product of CM recycled from 
higher temperature zones within the depositional environment, and as such is inert 
and does not lend itself to softening during subsequent thermal/hydrothermal 
stress (Taylor et al. 1998). The fragmented often shard-like nature of this CM with 
no distinct morphology may suggest it had its origin in a shattered type D. The 
co-occurrence of such material with in situ parallel-to-bedding CM in the same 
samples is usually explained by transportation from surrounding areas (Dow 
1977). This is supported by its dispersed mode within the host rock matrix in 
contrast to the parallel -to-bedding form of the predominant CM type A reported 
in a previous study (Glikson et al. 2008). The combination of higher Ro values of 
CM and lower Ro value CM in the same samples has been attributed to inclusion 
of transported/recycled CM (Dow 1977), which was brought to the depositional 
site to be mixed with in situ CM. HRTEM of type B highest Ro group CM 
shows poorly graphitized molecular ordering such as is expected from oxidized/
re-worked CM (Oberlin et al. 1980).

A third type of CM which has been designated in an earlier study ‘A’ and ‘A1’ 
when observed in reflected or transmitted light microscopy is seen in top view as 
blobs of rounded to sub-rounded particles ranging in size from <1 to >20 mm 
(Fig. 5a, b). This CM is a characteristic feature in all Dresser Formation, and renders 
very low Ro values in whole rock samples as a result of Si impregnation of the bulk 

Fig. 4 Oxidized, reworked and fragmented CM shards/particles of type B, showing characteristic 
‘chatter’ lines. The latter are parallel to the cutting direction, and occur when hard CM is 
ultra-sectioned
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CM blobs (Glikson et al. 2008). Closer examination and EDS analysis confirm that 
minute pore spaces within these bodies are filled with microcrystalline silica 
(Fig. 5c). CM concentrates of type A in resin-embedded pellets give Ro values 
significantly higher than those obtained from silica-impregnated CM in whole rock 
samples. When observed as a CM concentrate in TEM, the bodies appear as porous, 
loosely packed carbonaceous material (Glikson et al. 2008). The porous nature of 
this CM, the result of post-thermal degradation provided conduits and voids for 
infusion and infiltration of silica – saturated fluids in the hydrothermal environment, 
filling voids and spaces that formed following the death of a microbial colony 
(Fig. 6a, b). The process of silica infiltration would have enhanced CM preservation. 
This interpretation is reinforced through TEM observations of cultured M. jannaschii, 
autoclaved at 132°C, in which the mounting resin was seen to fill spaces formed by 
the breakdown and ejection of cellular material (Glikson et al. 2008). Often a small 
central cavity observed in TEM (Fig. 6a, b) is seen to be filled with a single silica 
grain when observed as a whole rock sample in reflected light. The silica grain 
having been dissolved in the CM concentration process has left a void. The latter is 

Fig. 5 (a, b) Top view of CM in Dresser samples as observed in reflected light microscopy of 
polished whole rock cut parallel to bedding, (c) EDS of the above highlighting the intimate asso-
ciation of silica with CM in Dresser samples

Fig. 6 (a, b) Porous CM entities (type A) observed in TEM of CM concentrate where silica has 
been dissolved leaving micro-pores
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interpreted to be the remains of the cell cavity as evidenced from thermal degradation 
simulation of live cultures of M. jannaschii (Glikson et al. 2008). The intimate 
association of CM and silica in the Dresser samples is reminiscent of silicified 
microbial colonies, such as have been documented from active hydrothermal 
systems by Al-Hanbali et al. (2001) who suggested these as analogues of 
Archaean hydrothermal sites.

Close similarities appear between the type A material, and a model of protoarchaea 
illustrated by Martin and Russell (2003). Some of the spherical or sub-spherical 
entities of type A CM, appear as densely spaced aggregates devoid of the siliceous 
component (Fig. 7a, b), in an earlier study designated as type ‘A1’ (Glikson et al. 
2008). Type A1 forms occasionally have a defined rim in cross section and display 
highly developed molecular ordering in HRTEM (Fig. 7c). The rims are suggestive 
of outer walls of cells that have become partially or entirely detached from the cells 
during thermal degradation, and display a marked resemblance to TEM-observed 
specimens of M. jannaschii subjected to thermal degradation (Glikson et al. 2008). 
This mode of detachment is replicated after subjecting cells of M. jannaschii grown 

Fig. 7 (a, b) Spherical CM lacking in distinctive porosity (type A1), showing an inner body 
surrounded by a faintly outlined wall of higher electron density (7A) than the inner body. (c) HRTEM 
of type A and A1. The difference in molecular ordering is evident. The body on the left hand side 
of the micrograph shows a lower molecular order of type A, whereas the body on the right hand 
side shows high molecular order of sub-graphite, characterizing the denser type A1
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at 79°C to autoclaving at 100°C (1 atm) and 132°C (2 atm), in an effort to simulate in 
situ degradation by hydrothermal stress (Glikson et al. 2008). Type A1 appears to be 
a more cohesive, non porous form of type A displaying a better defined cell shape. The 
lack of porosity prevented infiltration of SiO

2
-rich fluids and silica precipitation in 

micro-pores within the cell. Porosity was a result of severe breakdown following 
thermal degradation. It is not clear why some cells escaped such severe disintegration. 
The answer may lie in positioning of certain cells in relation to hydrothermal fluid 
flow, which would have been an enhancing agent in tearing apart the CM residue. 
Variations in temperature within the medium may also be a contributing factor to 
differential preservation. Furthermore, it has been suggested (De Gregorio, 2009) 
that microbial cells will likely be clumping together, and those in the centre of 
clumps will be somewhat shielded from invading fluids. Similar variations in deg-
radation were observed in the simulation of thermal maturation of M. jannaschii 
(Glikson et al. 2008).

Type ‘C’ (Glikson et al. 2008) is assigned to the relatively rare occurrence of 
spherical to egg-shaped electron transparent globules that appear in clusters 
among fragments of type B carbonaceous material and grainy porous type  
A (Fig. 8). A fuzzy material, the remains of an outer membrane -like structure, is 
occasionally seen to partially surround the globular cells. The relatively low elec-
tron density of this material as well as the clearly defined outline and hollow 
interior point to material that has not been subjected to high thermal stress and 
thermal degradation. In an earlier study (Glikson et al. 2008) we have interpreted 
this material to be primary microbial cells preserved within fluid inclusions in 
quartz crystals; the latter having been dissolved during CM concentration proce-

Fig. 8 A cluster of type C CM, representing the primary thermally unaffected cells preserved in 
fluid inclusions within quartz mineral grains
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dure, thus liberating the cells within. The lower Ro of this material confirms rela-
tively low thermal stress at the time of deposition, as also suggested by previous 
studies (Ueno et al. 2004).

4.2  Apex Basalt Carbonaceous Matter

The younger Apex Basalt, represented by samples from ABDP#2 (Salgash) drillhole 
(Table 2), is significantly different from the Dresser Formation samples in Ro 
values, organic petrology, TEM/HRTEM and carbon isotopic composition. Organic 
petrology has shown the CM to be graphitic material, with the measured Ro on 
carbonaceous concentrates in the range of 10–13%, outside the scale of what is 
considered ‘normal’ for common thermal or hydrothermal effects on CM (Taylor 
et al. 1998).

The noteworthy difference between the Apex Basalt ‘graphite’ and the standard 
graphite mineral is the absence of pronounced bi-reflectance in the Apex material, 
suggestive of different processes responsible for its formation. Standard graphite is 
the product of regional metamorphism coupled with deformation, with strain 
expressed as optical anisotropy. On the other hand it has been shown experimentally 
that very rapid heating of CM may lead to high Ro without optical anisotropy 
(Khavari-Khorasani and Michelsen 1993). Therefore the anomalous optical properties 
of Apex graphite may have been the result of rapid, very high temperature thermal 
effect in the absence of deformation. Such a high temperature process (>1,000°C) 
would have brought about the volatilization of hydrocarbons, CO

2
 and other gaseous 

compounds from heating the initial CM, resulting in graphitization of the residual 
carbonaceous material. Processes responsible for rapid high temperature effects 
may be magma intrusion, intense volcanism or bolide impact. A bolide impact 
event has been documented from the Mount Ada Basalt of the North Pole Dome 
(Byerly et al. 2002) that occurs about 2 km below the Duffer Formation and Marble 
Bar Chert Member, and thus cannot have effected the younger Apex Basalt. The 
rapid injection of very high temperature (around 1,500°C) peridotite magmas may 
explain the effect on the CM and its unusual optical properties. The presence of 
fullerenes within nano-tubes and on a platy kind of graphite form in these samples 
further supports very high thermal effect, a mechanism leading to graphitization of 
in situ CM. Fullerenes in abundance were found in the Murchison and Allende 
meteorites (Becker et al. 2000). Becker et al. (2000) and Heymann et al. (1994) 
have also reported fullerenes in sedimentary rocks at the K-T boundary and the P-T 
boundary, both of which are associated with major meteorite impacts. In addition, 
Buseck et al. (1992) reported fullerenes from Shungite. Shungite is an unusual 
carbonacous deposit the formation of which is uncertain, although it is associated 
with extensive volcanic flows which may have been triggered by a bolide impact. 
The CM of the Shungite consists of two distinct kinds that greatly differ from each 
other, namely a bright glassy type with conchoidal fracturing and a dull friable CM. 
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The bright glassy type is the only one containing fullerenes (Buseck et al. 1992; 
Parthasarathy et al. 1998). This type displays high Ro equivalent to temperatures 
>400°C and lacks pronounced optical anisotropy as reported by the present author 
(in Mastalerz et al. 2000), in contrast to CM underlying the massive Bushveld 
Complex that displays extreme bi-reflectance, the result of deformation (Glikson 
and Taylor 2000).

Temperatures exceeding 1,000°C experienced by the Apex Basalt rocks in the 
lead up to graphitization and the resulting high thermal maturation state (10–13% Ro) 
support Melker et al. (2000) computer simulation of fullerene formation at 
similarly high temperatures where perfect fullerene structure and stability can be 
achieved. The same study found that at lower temperatures incomplete fullerene 
structures are formed.

Observations using TEM reveal two main forms of graphite: a common platy 
form (Fig. 9a, b), and a tubular form (Fig. 10a–d). Two different structural entities 
of graphite have also been reported by Buseck et al. (1985) in a sample from a  
black slate in a chlorite metamorphic zone. Observations at higher TEM magnifica-
tion of the platy graphite reveal a spongy texture with dark electron dense spots 
(Fig. 9b), which in HRTEM appear as detached nano-size particles and occasionally 
show fullerene molecular organization.

A closer look at higher TEM magnification of the tubular graphite reveals 
occasional fullerene texture, which is also suggested from cross sections of 
individual spheres within the nano-tubes. Separate spheres, detached from the 
nano-tubes, are seen as void-encapsulating carbonaceous clusters with rounded to 
sub-rounded encasing monolayer (Fig. 11a) closely resembling those observed 
and illustrated using TEM and HRTEM in CM from the Allende meteorite 
(Harris and Vis 2003) and Lake Tagish meteorite (Garvie and Buseck 2004). 
HRTEM reveals very rare fullerene structure present within some of these 
detached spheres observed in our study (Fig. 11b). Most spheres appear to have 
a hollow interior suggesting either loss of their fullerenes while retaining only the 
outer mono-layered envelope, or alternately fullerenes have not been formed 

Fig. 9 (a, b) Platy graphite. At higher magnification TEM in B, the ‘spongy’ look of the plates 
is observed with dark electron dense spots scattered within the plates
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within most of these carbon spheres. The second alternative is adopted here as 
most likely due to a probable varied temperature and pressure regime within the 
carbonaceous muds during peridotite injection into the sediments. Thus conditions 
for fullerene formation have not been achieved throughout the entire carbonaceous 
sediment package.

The tubular graphite in HRTEM reveals the distinct highest level of molecular 
ordering characteristic of graphite with long, closely spaced, continuous parallel 
lattice fringes (Fig. 10d). This form of graphite structure has been documented in 
earlier studies (Buseck and Bo-Jun 1985; Buseck et al. 1988). However, in the Apex 
CM, this typical graphitic molecular structure makes up the external mono-layer of 
the nano-tubes. Within the nano-tubes TEM and HRTEM reveal closely-spaced 
vacuous sphere spaces <5 nm in diameter, in an almost continuous string-like 

Fig. 10 (a) Tubular graphite at relatively low magnification TEM. (b) Tubular graphite at higher 
magnification TEM, showing some internal structure. (c) Tubular graphite in HRTEM showing 
detail of individual nano-tubes within tubes. The latter are distinguished by partitions marking 
compartments or vacuous chambers within the tubes. (d) HRTEM highlights the string-like round 
structure of the vacuous chambers within the nano-tubes, which contained the mono-layered 
hollow spheres that may contain fullerenes. Nano-tube walls (outer monolayer) exhibit perfect 
crystalline graphitic molecular order
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formation (Fig. 10c) suggesting the fallout of nano-spheres that likely occupied 
these spherical spaces. Further HRTEM observations focusing on these areas sug-
gest indeed loss of a sphere-like entity (Fig. 11). A nano-tube as in the Apex CM 
is identical to type D of Akbulut (2008), who demonstrated experimentally the 
formation of fullerenes within mono to multilayered nano-tubes. According to the 
same study, fullerenes are an intermediate stage between conventional graphite and 
nano-tubes. Another study (Iijima 1991) of graphitic carbon synthesized using arc 
evaporation discharge noted that this form of graphite, as well as soot and fullerenes, 
may form directly from vapor phase deposition of carbon. Although graphite may 
form at temperatures >500°C, nano-tubes are known to form in the laboratory at 
900°C (Akbulut 2008), and the intermediate fullerenes at 600–1,000°C. The 

Fig. 11 (a) HRTEM of spheres which have been detached from the nano-tubes, closely resembling 
forms observed in the Allende meteorite, (b, c) Fullerene structures in detached spheres
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 presence of all forms in the same samples representing different and varied tempera-
tures suggests mixing of CM during the injection pulses of ultra basic peridotite 
magma/volcanism under pressure into carbonaceous muds on the sea floor.

4.3  Elemental and Carbon Isotope Compositions of CM

Dresser Formation percent elemental H (Table 1) and N in most samples, show a 
strong positive correlation with C (Fig. 12a). The strong positive correlation trends 
between carbon and hydrogen, and carbon and nitrogen, indicate that these three 
elements are intimately associated with the CM, which is supportive of a biogenic 
origin for this material (Durand and Monin 1980). Conversely, the strong negative 

Fig. 12 (a) Relationship between elemental compositions in Dresser Formation CM samples.  
(b) Relationship between C-isotope composition and total organic carbon in Dresser concentrates. 
High sulfide content in organic concentrates is a good proxy for thermal/hydrothermal alteration 
of samples
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correlation that exists between carbon and sulfur indicates inorganic association 
and a non-biogenic source for the sulfur. Generally, both H/C and N/C ratios are 
extremely low, as expected in Archaean sediments (Brocks et al. 2003). Sample 
DF-10 is dominated by high Ro material and also displays very low N/C. As the 
bulk of the samples were analyzed, the differences in the elemental composition 
may be attributed to predominance of different Ro populations in different samples. 
Thus extremely low H/C ratios indicate predominance of previously oxidized/
recycled material such as type B. However, as all these samples have been subjected 
to high thermal stress, the H/C ratios are generally low in all samples as expected 
(Clayton and Bostick 1986).

Carbon isotopic compositions of the Dresser Formation samples (Table 1, 
Fig. 12b), range from −32.1‰ to −38.2‰, and are considered typical of isotopic 
fractionations produced by biogenic processes (Schidlowski et al. 1983; Schidlowski 
1988, 2001; House et al. 2003). The values obtained in our study compare favorably 
with results previously reported from Pilbara samples of the same age (Glikson and 
Taylor 2000; Ueno et al. 2001, 2004). Ueno et al. (2004) suggested that the 
13C-depleted compositions of CM in silica dykes cutting the metabasalt footwall of 
the Dresser Formation were likely the product of anaerobic chemoautotrophs such 
as methanogens rather than aerobic autotrophy or abiogenic synthesis. Ueno et al. 
(2004) also reported carbon isotope compositions ranging from −29.4‰ to −31.2‰ 
for four bedded chert samples of the Dresser Formation. However, C-isotopic 
compositions alone may not provide an undisputed indicator of biogenic activity 
according to a study by McCollom and Seewald (2006). The same study obtained 
isotopic values in the range of −45‰ to −50‰ for specific organic compounds 
synthesized abiotically under hydrothermal conditions. The range of isotopic com-
position is thus quite different from that in the Dresser Formation CM. This may 
indicate different primary carbonaceous compounds from those obtained in 
McCollom and Seewald’s study, or as also suggested by the same authors, the 
Dresser isotopic compositional range may be the result of high temperature thermal 
effects that is supported by Ro values in the present study. As all samples analyzed 
contain a mix of several carbonaceous matter types equivalent to several Ro populations, 
it is not possible to differentiate between them on the basis of isotopic compositions. 
Nevertheless, it may be true to say that most of the CM in the Dresser samples has 
not been subjected to temperatures >250°C (Ro equivalent of 3.0%; Aizawa 1990) 
or temperatures >300°C (Ro equivalent according to Price 1983) such as are 
expected to rupture 13C–12C and 13C–13C bonds and render the CM significantly 
isotopically heavier. Significant isotopic temperature effects are known to be 
noticeable at Ro = 3.0, with a more pronounced effect in aromatics than saturates 
(Clayton and Bostick 1986). Thermal maturation thus invariably enriches the 
residual OM in 13C. The mixed Ro populations provide evidence for temperature 
varied thermal/hydrothermal effect on the CM, reflected in the d13C range from 
−32.1‰ to −38.2‰ in the Dresser data set.

In contrast to the Dresser, the Apex samples (Table 3) are enriched in d13C (values 
predominantly between −22.5‰ and −28.4‰), which is a direct effect of the 
extremely high temperatures that were also responsible for the graphitization of the 
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CM. The range of d13C values of some 8‰ is larger than expected for normal thermal 
maturation (Des Marais 1997), which further supports unusual thermal processes 
responsible for the organic metamorphism encountered in these samples.

A C-isotope trend in the Apex suite (Fig. 13) shows the samples becoming pro-
gressively isotopically lighter from the top of the borehole at 55.5 m downward to 
a sample taken at 142 m depth, ranging thus from −25.2‰ at the top to −30.4‰ at 
142 m depth. An inverse trend is then encountered below the above section, where 
the CM becomes progressively and consistently isotopically heavier towards the 
bottom of the sampled section, with a range from around −30.0‰ at the top of that 
segment to −22.5‰ at the bottom. The ‘heaviest’ values at the bottom of the section 
must have experienced highest temperatures. The overlying inverted trend whereby 
the isotopically heaviest values are at the top are difficult to explain without involving 
an overlying heat source (e.g. Maricko Basin, Mount Isa; Glikson et al. 2000, 
2006). However, differences in molecular ordering of CM as a result of its response 
to thermal stress should also be considered following the observations of Buseck 
et al. (1988) who have discussed the isotopic variation among graphites, in which 
two texturally different graphites were also distinguishable by differences in their 
carbon isotope composition. A distinction between two graphites, namely tubular 
and platy was also observed in our samples although the samples in the borehole 
generally yielded a mixture of the graphite types. Nevertheless, platy graphite 
appeared to be more common in the top samples and predominant in the lowest 
drill-hole samples. Tubular graphite with nano-tubes and fullerenes was the major 
CM component in sample at 142 m depth with isotopically lightest values, and 

Table 3 Carbon isotope composition of Apex 
Basalt CM

Sample number Depth (m) d13C‰

SAL-1 55.50 −25.2
SAL-2 56.95 −27.4
SAL-3 57.60 −27.0
SAL-4 58.00 −27.6
SAL-5 58.70 −28.2
SAL-6 60.30 −28.6
SAL-7 67.55 −26.3
SAL-8 67.90 −26.7
SAL-10 85.40 −28.4
SAL-11 102.00 −27.6
SAL-12 108.00 −29.8
SAL-13 142.30 −30.4
SAL-14 158.40 −26.9
SAL-15 173.30 −24.1
SAL-16 185.25 −24.6
SAL-17 186.15 −24.4
SAL-18 192.10 −23.8
SAL-19 203.50 −23.6
SAL-20 219.30 −22.5
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became scarcer away from that point both upwards, and down the hole, with dimin-
ishing presence of tubular graphite type.

A study by Binu-Lal et al. (2003) reported preferential enrichment in d13C as a 
result of partial melting and re-precipitation of earlier graphite. Pulses of high 
temperature peridotite injected into the Apex sequence may have remobilized 
and partially melted the initially formed tubular graphite formed during preceding 
peridotite injection. The latter re-solidified as platy graphite and experienced 
further loss of the light isotope of carbon.

5  Summary and Conclusions

Various organic compounds, including graphitic carbon, can be formed abiotically 
in hydrothermal systems, in addition to possible extraterrestrial source (e.g. 
Ehrenfreund et al. 2002; Horita 2005), such that evidence for early life must neces-

Fig. 13 C-isotope composition of Apex samples with depth showing an inverse trend down to 
about 115 m depth, and a more normal trend from there on downwards. The lower correlation 
coefficient of the upper part of the section is also indicative of the mixed nature of the graphite 
compared to the significantly more homogeneous graphite in the lower part of the section



232 M. Glikson et al.

sarily combine geological, structural, ultra-structural, visual and geochemical data 
to be compelling. In our current study, carbonaceous materials have been thor-
oughly observed by applying microscopy and microanalysis. A reconstruction of 
some of the CM based on comparison with a living microbial analogue was 
reported earlier (Glikson et al. 2008).

TEM has been shown as a powerful tool in resolving fine structure in carbonaceous 
materials in sediments, and its integration with analytical methodologies is most 
rewarding in defining and characterizing organic matter that underwent severe thermal 
degradation. HRTEM further enhances the understanding of CM by observing its 
molecular ordering.

Carbonaceous materials obtained from the 3.49 Ga Dresser Formation and 3.46 
Ga Apex Basalt of the Pilbara’s Warrawoona Group, have been identified and char-
acterized based on organic petrology, structural details observed in TEM, and 
molecular ordering determined in HRTEM. These were matched with elemental 
and C-isotope compositions. It is noteworthy that the average C-isotopic composition 
of Apex CM is −26.0‰ compared to −17‰ to −20‰ of standard graphite (Tissot 
and Welte 1984).

Several types of CM have been identified in the Dresser Formation samples. 
These have been classified based on their Ro values, structure as revealed in TEM 
and molecular ordering highlighted by HRTEM.

Reflectance determination (Ro%) of the CM demonstrate thermal/hydrothermal 
effects, which were responsible for the thermal degradation of the primary CM in 
the Dresser Formation samples. Variations in structure and texture aid in classifica-
tion and distinction between recycled and in situ CM. It is possible that biogenic 
and abiotic (type ‘D’) CM are present in the same samples.

Carbonaceous material (CM) occurs in both dispersed and layered forms, inter-
layered with fine-grained silica. The intimate association of the CM and formerly 
amorphous silica strongly resembles silicified microbial colonies from active hydro-
thermal systems, which have been previously proposed as analogues of Archaean 
hydrothermal sites. Furthermore, the geological setting and mineralogy of the 3.49 
Ga Dresser Formation support its formational environment as a silica-barite dominated 
seafloor hydrothermal deposit, most likely analogous to modern “white smokers”.

The younger Apex Basalt Formation of the Salgash Subgroup yielded consis-
tently very high Ro values. The carbonaceous material from the Apex Basalt samples 
has the appearance of graphite in reflected light microscopy. However, the Apex 
graphite differs optically from the typical mineral graphite, a metamorphic carbona-
ceous rock, with distinct optical anisotropy that is the result of the deformation com-
monly accompanying regional metamorphism. The ‘graphite’ in the Apex samples 
lacks distinct anisotropy suggesting a different mode of formation. Rapid heating at 
very high temperature in an isotropic pressure regime such as during injection of 
magma into seafloor carbonaceous muds is suggested for the Apex Basalt graphite.

Relatively heavy d13C of the Apex material is in contrast with the markedly 
lighter isotopic compositions of the Dresser Formation CM supporting extremely 
high temperatures in the formation of the Apex CM. Within the Apex suite, isotopi-
cally lighter values coincide with fullerene and nano-tube abundance, whereas 
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isotopically heavier values are typically associated with predominance of platy 
graphite. Thus two types of graphite observed in TEM are also distinguished by 
their isotopic composition.

TEM and HRTEM of the Apex CM revealed fullerenes occasionally encased in 
spheres residing within nano-tubes. The hollow mono-layered minute spheres are 
often observed as clusters released from nano-tubes. As these entities formed at 
temperatures of >1,000°C, it may demonstrate that structures resembling microbial 
cells can form abiotically. In contrast, biologically produced cells undergo thermal 
degradation leading to their breakdown and disintegration at temperatures of 
100°C, marking the limits of life. Thermal degradation of CM may be used as an 
indicator of biogenic source.
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Abstract Ancient microfossils and stromatolites represent some of our best evidence 
of early living organisms on Earth. However, due to increasingly critical evaluation of 
such biomarkers in the last decade, assessing the biogenicity of preserved microbe-
like features and stromatolitic structures is far from trivial. Carbonaceous matter 
associated with bona fide microfossils and stromatolites should contain a general 
microstructure consistent with that of kerogen, the biogenic organic matter common 
in oil, gas, and coal source rocks. Although kerogen structure and composition can 
vary, there are consistent characteristics that may be used to identify “kerogen-like” 
carbonaceous material. Fischer-Trospch-type (FTT) reactions and other organic syn-
thesis mechanisms may be a significant source of abiotic organic matter on the early 
Earth. Many minerals associated with hydrothermal activity, which was prevalent on 
the early Earth, have been shown to catalyze FTT synthesis. However, significant 
research into the maturation and preservation of FTT-derived carbonaceous matter is 
necessary before a robust distinction can be made from biogenic kerogen.

Controversial microfossils from the 3.458–3.465 Ga Apex Basalt and stromato-
lites from the 3.350–3.458 Ga Strelley Pool Chert are associated with hydrothermal 
activity, leading to the suggestion that the carbonaceous matter comprising these 
features is derived from abiotic FTT synthesis rather than biological processes. 
Carbon-rich black chert dike samples were obtained from the Apex and Strelley Pool 
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localities for comparison with kerogen from the 1.9 Ga Gunflint Formation and 
laboratory-derived FTT carbonaceous matter. In situ scanning-transmission X-ray 
microscopy (STXM) and transmission electron microscopy (TEM) reveal the pres-
ence of ~100 nm carbonaceous films along quartz grain boundaries in the chert 
samples, which may be separated from the quartz grains in ultramicrotomed sec-
tions. Electron energy-loss near-edge structure spectroscopy (ELNES) and X-ray 
absorption near-edge structure spectroscopy (XANES) indicate Apex and Strelley 
carbonaceous matter contains a complex microstructure with abundant aromatic 
domains and oxygenated organic functional groups similar to that observed in 
Gunflint kerogen. FTT samples were chemically distinct, containing abundant car-
boxyl functional groups and lacking polyaromatic domains. Although it is possible 
that FTT material could mature into an abiotic kerogen-like material with similar 
characteristics, it is more likely that the Apex and Strelley Pool carbonaceous matter 
formed from biological processes. Biogenic material could be preserved within an 
ancient hydrothermal system either through gravitational influx of microbial mate-
rial from the surface or transport of carbonaceous matter from a deeper sediment.

Keywords Microfossil • Kerogen • Fischer-Tropsch • Apex chert • Strelley pool 
chert • TEM • XANES

1  Introduction

Bacterial fossils (microfossils) and other microbially-mediated sedimentary struc-
tures (stromatolites) are some of the best evidence for the presence of Archean living 
organisms on the early Earth (Schopf 2006; Schopf et al. 2007). However, many of 
the oldest carbon-rich sedimentary rocks have been exposed to billions of years of 
thermal stress. Hydrothermal and metamorphic fluids may degrade and transport 
biogenic organic matter, destroying fine-scale cellular features in microfossils and 
laminated biofilms (Kaźmierczak and Kremer 2002). In addition, thermal processes 
change the organic chemistry and structure of macromolecular carbon compounds, 
leading to the generation of oil and natural gas in massive sedimentary deposits of 
biogenic organic matter (Tissot and Welte 1978). In many Archean metasedimentary 
rocks it is unclear whether the apparent microfossils and stromatolite structures are 
bona fide biogenic features. In this chapter, we describe analytical methods for the 
characterization of potentially biogenic carbonaceous matter in the context of 
Archean micropaleontology. These analytical methods primarily probe the macro-
molecular structure and organic chemistry of the carbonaceous matter and in some 
cases may clearly distinguish biogenic and abiotic carbonaceous matter.

The dimensions of most extant microorganisms and well-preserved microfossils 
are on the order of 1–10 mm. However, thermally-stressed carbonaceous films lining 
mineral grain boundaries are commonly only ~100 nm thick (De Gregorio and Sharp 
2006; Moreau and Sharp 2004). Therefore, sub-mm scale analytical  techniques are 
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required to adequately resolve much of this carbonaceous matter. In addition, many 
of these Archean carbon-rich sediments do not contain enough carbon for typical 
bulk analytical techniques used to characterize coal deposits, and acid extraction 
methods for concentrating the carbonaceous matter may potentially destroy some of 
this precious material. A few modern analytical techniques allow in situ nanoscale 
analysis of ancient carbonaceous matter, including laser-Raman spectroscopy, syn-
chrotron-based Fourier-transform infrared spectroscopy (FTIR), scanning-transmis-
sion X-ray microscopy (STXM), and transmission electron microscopy (TEM). 
These analytical techniques are also nominally non-destructive, although each may 
damage beam-sensitive organic matter to a degree. Perhaps the most important char-
acteristic of these techniques is that they may be performed upon the same sample in 
a correlated fashion, such that the benefits of each technique are added and form a 
more complete dataset.

1.1  Structure and Bonding of Kerogen

Kerogen is the term used to describe the residue of carbonaceous matter in biological 
sedimentary rocks that is insoluble in acids or other solvents (Dow 1977). 
Unfortunately, this phenomenological definition may be applied to abiological car-
bonaceous matter in rocks and meteorites (Kerridge 1983; Kerridge et al. 1987; 
Vandenbroucke and Largeau 2007). A distinction between biogenic and abiotic 
material is necessary when discussing sedimentary carbonaceous matter predating 
the emergence of living organisms. Common usage of the term implies a biogenic 
origin, while descriptive terms such as “kerogen-like” may be applied to abiotic 
insoluble carbonaceous matter with similar structural and chemical characteristics.

Kerogen does not have a defined crystal structure or fixed chemical composition, 
but it contains chemical and structural characteristics that may be used for identifi-
cation and classification. Although it is primarily a collection of cross-linked amor-
phous hydrocarbon macromolecules, kerogen also contains trace levels of other 
biotic elements due to its biogenic origin. In general, for every 100 carbon atoms 
in kerogen, there are between 50 and 200 hydrogen atoms, 3–30 oxygen atoms, and 
less than six nitrogen and sulfur atoms (Table 1). Phosphorus is relatively rare in 

Table 1 Elemental composition of typical kerogens in atomic percent and atomic ratio

Kerogen type C H O N S H/C O/C N/C S/C

Type I 37.6 57.8 3.4 0.8 0.5 1.54 0.090 0.021 0.013
Type I (model) 36.9 60.6 2.2 0.1 0.0 1.64 0.060 0.003 0.001
Type II 39.1 53.3 6.3 0.8 0.6 1.36 0.161 0.020 0.015
Type II (model) 42.2 52.8 3.8 0.5 0.8 1.25 0.089 0.012 0.018
Type III 45.2 44.8 8.8 1.2 0.0 0.99 0.195 0.027 0.000
Type III (model) 46.8 45.8 6.5 0.7 0.2 0.98 0.138 0.016 0.004
Lignite coal 46.0 41.2 10.7 1.5 0.6 0.90 0.233 0.033 0.013

Data compiled from Tissot and Welte (1978) and Behar and Vandenbroucke (1987).
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biomolecules, but will be present to some degree in kerogen, estimated at around 
one phosphorus atom per 1,000 carbon atoms (Nissenbaum 1979). These atomic 
abundances in kerogen are much lower than that predicted by the composition of 
extant organisms because biotic elements are progressively removed from recently 
deposited sedimentary organic matter by a combination of microbial degradation, 
groundwater leaching, and thermal maturation.

Kerogens are commonly divided into three main groupings (Types I, II, and III) 
according to atomic H/C and O/C ratios (Van Krevelen 1993) or hydrogen index 
(Espitalié and Bordenave 1993), although a continuum of compositions likely 
exists between these end members. General characteristics and sources of kerogen 
types are described by Tissot and Welte (1978) and Durand (1980). These kerogen 
types may also be distinguished by observations of their nano-scale molecular 
structure and the extent of graphitization (Oberlin et al. 1980).

Structurally, kerogens consist of randomly-oriented polycyclic aromatic sheets 
up to 30 Å in diameter connected by bridging aliphatic hydrocarbon chains (Behar 
and Vandenbroucke 1987; Tissot and Welte 1978), and may best be thought of as 
statistical collections of fundamental organic building blocks rather than a crystal-
line material (Freund et al. 2007). Both the polyaromatic domains and aliphatic 
bridging hydrocarbons may contain various organic functional groups. Oxygen is 
commonly present as hydroxyl (–OH), enol (C=C–OH), ketone (C=O), carboxyl 
(–COOH), and ester (–COOC–) groups on bridging hydrocarbons. Identical 
organic moieties attached to polyaromatic domains include phenol (C

arom.
–OH), 

cyclic ketone (C
arom.

=O) and aldehyde (C
arom.

–C=O), and ether bonds in aromatic 
heterocycles such as pyran and furan (C

arom.
–O–C

arom.
). Nitrogen atoms are most 

common in aromatic heterocycles such as pyridine (C
arom.

=N–C
arom.

) and pyrrole 
(C

arom.
–NH–C

arom.
), although amide (O=C–NH

x
) and amine (–NH

x
) functional 

groups may be present (Knicker 2004). Sulfur atoms commonly reside in similar 
aromatic heterocycles, such as thiane and thiophene (C

arom.
–S–C

arom.
), or aliphatic 

thiol (C–SH) and thioether (C–S–C) functional groups (Calkins 1994; Sinninghe 
Damsté and de Leeuw 1990).

Thermal maturation of sedimentary organic matter occurs through several 
phases following initial degradation (Tissot and Welte 1978). During early 
diagenesis most of the hydrolyzable material is degraded by heterotrophic 
microbial activity and autolyzing enzymatic activity within cells. However, it is 
likely that heterotrophic degradation was not a major component in the break-
down of biomolecules in Archean sediments. The majority of nitrogen, sulfur, 
and presumably phosphorus loss occurs during early diagenesis from hydrolysis 
reactions (Vandenbroucke and Largeau 2007). These processes create reactive 
organic species that form cyclic moieties, protecting the organic matter from 
further degradation. Following burial, organic matter experiences significant 
volatile loss, primarily as loss of CO

2
, H

2
O, and low molecular weight hydrocar-

bons. These diagenetic processes result in carbonization, or condensation of the 
remaining organic matter into polyaromatic domains cross-linked by aliphatic 
hydrocarbon chains. With increasing temperature, generally greater than 200°C, 
the organic matter undergoes catagenesis, the main stage of oil generation 
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(Tissot and Welte 1978). During catagenesis, bridging hydrocarbons are removed 
and the average size of polyaromatic domains increases up to 10 Å, generating the 
canonical kerogen macrostructure (Durand 1980). Metagenesis is the final stage of 
kerogen maturation, wherein the polyaromatic network is rearranged, releasing 
significant amounts of methane. Aromatic heteroatoms, which have been mostly 
protected in polyaromatic domains since early diagenesis, are released as aromatic 
ring structures are disassembled. At the onset of metagenesis, the H/C and O/C 
ratios of all kerogen types are indistinguishable. Extensive graphitization may 
occur during this stage, subject to the initial composition of the organic matter, and 
can be used to assess the metamorphic grade of the sediments (Buseck and Bo-Jun 
1985; Buseck et al. 1988; Wopenka and Pasteris 1993).

1.2  Abiotic Fischer-Tropsch-Type Carbonaceous Matter

Not all sedimentary carbonaceous matter has a biogenic origin. The insoluble 
organic matter in meteorites (Hayatsu and Anders 1981; Lancet and Anders 
1970) and interplanetary dust particles (Llorca 2002), for example, could not 
have been generated biologically. In the terrestrial regime, carbonaceous films 
around olivine grains in mantle xenoliths (Mathez 1987; Tingle et al. 1991) and 
methane seeps within crystalline basement rocks (Sherwood Lollar et al. 2006, 
2008) or mid-ocean spreading centers (Holm and Charlou 2001; Kelley and Früh-
Green 1999) also appear to have formed in the absence of living organisms. In 
these cases, an abiotic organic synthesis reaction such as Fischer-Tropsch-type 
(FTT) synthesis is commonly inferred. FTT synthesis is a naturally-occurring 
form of industrial Fischer-Tropsch synthesis for generating aliphatic hydrocar-
bons (Anderson 1984).

Hydrocarbons synthesis via FTT processes requires hydrothermal fluids, a 
source of H

2
 and CO, and an appropriate catalyst. Modern Fischer-Tropsch reactors 

operate between 200°C and 350°C, above which predominantly graphite crystal-
lites are produced. These temperatures are commonly encountered in seafloor 
hydrothermal systems or during low grade metamorphism (Lindsay et al. 2005), 
and the synthesis of aliphatic and aromatic hydrocarbons in these environments 
may be thermodynamically favorable (Seewald et al. 2006). If high fluxes of dis-
solved H

2
 are present, CO may be generated from CO

2
 via the water-gas shift 

reaction,

2 2 2CO H CO H O+ → +

When this occurs, the overall synthesis reaction of hydrocarbons is

2 2 2CO (2 / 2)H C H 2 H On mn n m n+ + → +
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In seafloor hydrothermal systems and mid-ocean ridges, adequate concentrations of 
H

2
 may be generated by the serpentinization of olivine in ultramafic rocks 

(Schroeder et al. 2002).
Several geologic materials have been shown to catalyze FTT reactions, including 

magnetite (Yoshida et al. 1993), hematite (Reymond et al. 1982), chromite 
(Foustoukos and Seyfried 2004), siderite (McCollom 2003), and pyrite (Cody 
2005). Hydrocarbons may be synthesized during the serpentinization of olivine 
(Berndt et al. 1996), however this result has not been successfully repeated 
(McCollom and Seewald 2001). Clay minerals may also be important FTT cata-
lysts. Hydrocarbons readily adsorb to clay mineral surfaces (Galwey 1972) and 
may be protected from degradation within interlayer sites (Williams et al. 2005). 
FTT experiments using montmorillonite or saponite catalysts have produced many 
different hydrocarbons, including simple short chain alkanes, long chain alkanes, 
alkenes, aromatic compounds, alkanoic acids, simple lipids, and other oxygenated 
compounds (McCollom et al. 1999; Williams et al. 2005). Yields in such experi-
ments are maximized between 150°C and 250°C and contain significant proportions 
of unresolved branched and cyclic organic compounds (Rushdi and Simoneit 
2001). Once a satisfactory amount of FTT hydrocarbons have been generated, con-
densation reactions between organic molecules may create more complex products 
(Rushdi and Simoneit 2006; Simoneit et al. 2007). Nitrogen and sulfur atoms can 
be incorporated into synthesis products if ammonia or CS

2
, respectively, are present 

(Rushdi and Simoneit 2004, 2005).
Prior to the emergence of living organisms on Earth, FTT reactions may have 

been prevalent in seafloor hydrothermal systems. Without well-defined micro-
fossils or stromatolitic features, it becomes necessary to distinguish biogenic 
kerogen from abiotic FTT carbonaceous matter. Isotopic fractionation of car-
bon towards lighter isotopes is commonly used to identify biogenic material, 
but FTT reactions have been shown to generate similar isotopic depletions 
(Horita and Berndt 1999; Lancet and Anders 1970; McCollom and Seewald 
2006). Since the structure and composition of kerogen is somewhat dependent 
upon the initial biomolecules, it is possible that abiotic kerogen-like material 
derived from FTT carbonaceous matter may have a distinct structure and com-
position. Unfortunately no systematic studies of the thermal maturation of FTT 
carbonaceous matter have been performed. Because it is initially lacking in 
complex biomolecules, it is entirely possible that most FTT material could be 
quickly degraded and fully eliminated during diagenesis and catagenesis. 
Alternatively, thermal maturation of FTT material may generate chemically and 
structurally distinct carbonaceous matter. Although the characteristics of abi-
otic kerogen-like carbonaceous matter are not determined, those of bona fide 
kerogen are well known and may be used as a fundamental condition for assess-
ing biogenicity, rather than a defining test between biogenic and abiotic carbo-
naceous matter. This “necessary but insufficient” condition must be combined 
with other analyses in order to make a robust assessment of the biogenicity of 
an Early Archean carbonaceous sample.
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1.3  Putative Archean Microfossils and Stromatolites  
from Western Australia

Some of the oldest sedimentary rocks on Earth can be found in the Archean Pilbara 
Craton of Western Australia, containing units dating from 3.655–2.400 Ga (Bagas 
2002; Hickman 1983). The southern half of the craton is dominated by metasedi-
ments and volcanic rocks of the Neoarchean to Early Proterozoic Hamersly Basin, 
including the stromatolitic 2.78–2.63 Ga Fortescue Group (Thorne and Trendall 
2001; Walter 1983). The northern half contains an older, typical Barberton-cycle 
granite-greenstone terrane comprised of several ovoid granitoid intrusions and 
complexes surrounded by a coeval or younger layered greenstone succession of 
metamorphosed volcanic and sedimentary rocks. The greenstone belts are com-
posed primarily of the 3.515–2.950 Ga Pilbara Supergroup. The depositional facies 
of these units are quite variable and may be truncated by tectonic structures. The 
lower portions of the supergroup consist of predominantly volcanic rocks of the 
Coonterunah, Warrawoona, and Sulphur Springs Groups, while the upper parts of 
the sequence consist primarily of sedimentary rocks from the Gorge Creek and 
De Grey Groups (Hickman 1983; Van Kranendonk 2006). The greenstone belts have 
experienced regional greenschist-facies metamorphism primarily due to deformation 
and intrusion by Archean granitoid domes, but metamorphic grade varies locally 
from prehnite-pumpellyite to amphibolites facies (Van Kranendonk 2007).

The volcanic rocks of the 3.515–3.315 Ga Warrawoona Group frequently 
include thin siliceous units and cross-cutting quartz veins, within which several 
microfossil, pseudofossil, and stromatolite occurrences have been reported (Schopf 
2006; Schopf et al. 2007). In 1987, several taxa of microbe-like features were 
described from a local chert deposit within the Apex Basalt at Chinaman Creek, 
near the town of Marble Bar (Schopf and Packer 1987). The features appear to be 
contained within mm-sized, round, carbon-rich, siliceous clasts in a black sedimen-
tary chert, indicating the putative microfossils were at least as old as the rocks 
containing them. Since the age of the Apex Basalt is constrained between the 
underlying 3.465 Ga Duffer Formation and the overlying 3.458 Ga Panorama 
Formation (Thorpe et al. 1992), the Apex microbe-like features were interpreted to 
represent the oldest well-preserved fossil evidence of living organisms on Earth.

Stromatolite-like structures are located within the Strelley Pool Chert, a 15–30 m 
thick, regional, siliceous, carbonate unit about 50 km west of the town of Marble 
Bar, demarcating the top of the Archean Warrawoona Group (Bagas 2002; Hickman 
2008). The unit lies unconformably above the 3.458–3.426 Ga Panorama Formation 
and below the 3.350 Ga Euro Basalt (Thorpe et al. 1992), making the Strelley Pool 
Chert slightly younger than the Apex cherts. In several localities, small, conical, 
laminated stromatolitic structures have been documented within the siliceous car-
bonates of the lower Strelley Pool Chert (Allwood et al. 2006a; Hofmann et al. 
1999; Lowe 1980). These structures are less than 15 cm in height with apical angles 
averaging 70–80°, and are generally oriented vertically on paleoslopes (Allwood 
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et al. 2006a). They are morphologically similar to Proterozoic Conophyton group 
stromatolites, and therefore would indicate the presence of phototrophic mat-building 
microbial life at ~3.45 Ga (Schopf 2006; Walter 1983). The structures are com-
monly found within layers containing evaporite minerals or evidence of evaporite 
replacement, indicating formation in a shallow water environment (Allwood et al. 
2007). Laminated structures have been reported in older Pilbara rocks but are less 
well-preserved and have fewer biological characteristics (Buick et al. 1981), leav-
ing the Strelley Pool structures as the oldest putative stromatolites on Earth.

Both the Apex microfossil locality and at least one locality of stromatolites in 
the Strelley Pool Chert are associated with black, carbon-rich, cross-cutting chert 
dikes (see Sections 4.5 and 4.6 for details). The presence of reduced carbonaceous 
matter within such chert dikes strongly suggests the possibility of ancient hydro-
thermal FFT processes, which may have created or influenced the nearby microfos-
sils or stromatolites (Brasier et al. 2002, 2005; Lindsay et al. 2005). An assessment 
of the biogenicity of this ancient carbonaceous matter will have direct implications 
on the biogenicity of related microfossil-like features or stromatolitic structures. 
The two techniques used in this study, scanning transmission X-ray microscopy 
(STXM) and transmission electron microscopy (TEM), have very high, sub-mm 
spatial resolution, which is essential for the in situ analysis of ~100 nm carbona-
ceous grain boundary films surrounding quartz microcrystals in these cherts. The 
major results of this study have been previously published in De Gregorio and 
Sharp (2006) and De Gregorio et al. (2009), while this article provides additional 
details regarding the analytical methods used and a comparison with abiotic organic 
samples produced by FTT experiments.

2  Methods

2.1  Samples and Standards

Several rock fragments of Precambrian black chert were acquired (Table 2), including 
a sample from the brecciated Apex dike chert at the Chinaman Creek locality 
(Brasier et al. 2005) and a sample of Strelley Pool dike chert at the Strelley Pool 
West locality (Lindsay et al. 2005). These samples were chosen because they rep-
resent potentially biogenic carbonaceous matter preserved in ancient hydrothermal 
veins. A sample of black chert from the ~1.9 Ga Lower Algal Member of the 
Gunflint Formation at Schrieber Beach, Ontario, known to contain bona fide micro-
fossils, was used as a biogenic standard for ancient chert-hosted kerogen (Moreau 
and Sharp 2004). Two FTT synthesis products were acquired as a standard for natu-
ral abiotic synthesis in a hydrothermal system (Table 2). Both were synthesized 
under hydrothermal conditions using formic acid (CH

2
O

2
) or oxalic acid (C

2
H

2
O

4
) 

precursors, which decompose to a mixture of CO
2
, CO, and H

2
 above 150°C 

(Rushdi and Simoneit 2001). Two additional abiotic carbon standards, amorphous 
carbon and disordered semi-graphite, were created as needed in the laboratory. 
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Thick amorphous carbon films were deposited on TEM grids by arc-evaporation in 
a standard carbon-coater apparatus, in which a carbon vapor is generated by passing 
a high current through the contact between two sharpened graphite rods in vacuum. 
Low order semi-graphite was created by pulverizing a portion of a graphite rod and 
dispersing the powder on a TEM grid in deionized water. This process creates 
randomly-oriented graphite crystallites with disordered lattice spacings and 
dislocations.

2.2  Sulfur Embedding and Ultramicrotomy

Traditional techniques for preparing electron and X-ray transparent samples for high 
resolution analysis include precision ion sputtering or wedge polishing. However, 
these techniques are not recommended for geological samples containing 
carbonaceous matter. Carbonaceous matter may be damaged by incident ion beams 
(Sviridov 2002), irrevocably altering the structure and bonding in the sample. Wedge 
polishing using an abrasive, on the other hand, will preferentially remove relatively 

Table 2 Samples used in this study

Sample
Thickness 
(nm) TEM STXMa

Apex chert fragmentsb

I.E10 90 CM200; EM400 11/07/2004 – 11/08/2004
II.A6 90 02/26/2006 – 03/01/2006
II.C9 90 CM200 08/16/2005 – 08/18/2005
III.D6 200 2010F

Strelley Pool Chert fragmentsc

III.C1 90 04/22/2005 – 04/23/2005
III.D2 200 2010F
III.D3 90 CM200; 2010F 09/15/2005 – 09/16/2005

Gunflint chert fragmentsd

II.B1 200 2010F
III.A4 90 04/20/2005 – 04/21/2005
III.B1 90 CM200 04/21/2005

175°C FTT liquid extracte

II.D6 n.a. CM200 08/30/2004
250°C FTT liquid extractf

II.D8 n.a. CM200 09/10/2004
aSTXM data from the following dates may be downloaded from http://xray1.physics.sunysb.
edu/.
bSample 1057 courtesy of Dr. L. Paul Knauth.
cSample SW401 courtesy of Dr. John Lindsay.
dSample courtesy of Dr. L. Paul Knauth.
eSample FTT-FA-A1(3)-P6.
fSample FTT-OA-p62-8.

http://xray1.physics.sunysb.edu/
http://xray1.physics.sunysb.edu/


248 B.T. De Gregorio et al.

soft carbonaceous matter. Appropriate sample preparation methods should avoid 
electron or ion beams, be performed at low temperatures, and be relatively carbon-
free to avoid potential laboratory contamination of the carbonaceous matter.

Ultramicrotomy involves removing thin slices of material from a sample with a 
sharp diamond edge, and is a useful technique for preparing geological samples 
(Fig. 1; Malis and Steele 1990). Sections with sub-100 nm thickness can be pre-
pared from most geological specimens. Harder materials such as quartz and chert 
may require thicker sectioning. During sectioning, mechanical “stick-slip” vibra-
tions at the contact between the sample and the diamond edge can create parallel 
artifacts known as “chattering”. In softer, biological samples, chattering takes the 
form of periodic changes in section thickness perpendicular to the cutting direction 
(Sitte 1984), but in harder, brittle samples, chatter causes roughly parallel fractures 
in the section (Malis and Steele 1990). While chattering is generally undesired, it 
may be beneficial by disaggregating a brittle sample, separating carbonaceous grain 
boundary films from a mineral matrix. Chattering may also cause the resulting sec-
tions to be slightly thicker than intended.

Chert samples were first crushed into a powder with an optimum size of 0.1 mm, 
although grains as large as 1 mm may be sectioned. Grains smaller than 0.01 mm 
will be difficult to visualize in most microtome optics. Unfortunately, putative 
microfossil features cannot be selected from this powdered sample, so the ancient 
carbonaceous matter in the final prepared sections cannot be directly correlated 
with any specific microbe-like morphology. However, in brecciated cherts samples, 
the oldest chert generations were isolated, assuming that, if present, this fraction 
will contain ancient biogenic material rather than later contaminants.

In traditional microtomy, samples are embedded in epoxy to stabilize them during 
sectioning. However, embedding epoxies are carbon-based and may contaminate 
carbonaceous samples. Instead, carbonaceous grains in this study were embedded 

Fig. 1 Schematic diagram of ultramicrotomy of a sulfur-embedded sample

Epoxy
Stub

Sample

Sulfur
Droplet

Diamond
Knife



249Bugs or Gunk? 

in molten sulfur droplets. High purity sulfur powder will melt at 115°C (Thackray 
1970) but can remain liquid in a supercooled state well below 100°C (Meyer 1976). 
At 159.4°C liquid sulfur undergoes a l phase transition in which polymerization 
begins (Meyer 1976). The viscosity increases dramatically and the color darkens. 
This darker, polymerized liquid can also remain in a metastable supercooled state. 
If the sample grain is inserted into polymerized liquid sulfur, the increased viscosity 
helps to keep the grain near the top of the droplet. Because of the metastable nature 
of supercooled liquid sulfur, the sulfur may crystallize as soon as the sample grain 
touches the droplet, in which case it may be required to remelt the sulfur in order 
to completely embed the grain. Manipulation of sample grains during sulfur 
embedding were done using a clean glass or tungsten micro-needle with a <10 mm 
tip. Embedding can be done by hand but a micromanipulator system improves the 
reliability of the operation.

After the embedding sulfur has crystallized, the solid droplet was attached to a 
standard epoxy stub for sectioning. A small amount of epoxy or quick-setting 
cyanoacrylate adhesive (i.e. superglue) was used provided that it is viscous enough 
to avoid infiltration of fine fractures or grain boundaries within the sulfur droplet, 
which can potentially contaminate the sample grain. Before sectioning, the droplet 
was trimmed so that there were at least two parallel edges. A trapezoidal shape 
is preferred, with the cutting stroke beginning at the longest base edge (Fig. 2). 
The sulfur-embedded chert grains were sectioned with a diamond knife to a thick-
ness of 90 or 200 nm. Ultramicrotomed sections were transferred to 200 mesh, 
“thin bar”, Cu TEM grids with a silicon monoxide (SiO) support film, and the same 
grids were also used to prepare the abiotic standard materials. Carbon-free SiO 

Fig. 2 Photomicrograph of a 100 mm carbon-rich fragment of Strelley Pool Chert embedded in 
sulfur (light colored trapezoid). This sample has been microtomed, and trimming marks are 
visible on the sides of the epoxy stub



250 B.T. De Gregorio et al.

support films are usually preferable to SiN films since they can be made thinner and 
do not interfere with nitrogen analyses, although they will interfere with oxygen 
analyses. Sulfur was removed by sublimation in a 60°C oven for several hours 
(Fig. 3). The ultramicrotomed sections are now ready for photon-based analytical 
techniques. Prior to TEM analysis, which is an electron-based technique, a conduc-
tive amorphous carbon film was deposited on the grid to mitigate charging effects 
of the SiO support film or other semi-conducting materials in the sample, such as 
quartz. This carbon coating was shown to make a negligible contribution for TEM-
based ELNES (Section 2.7) spectra. At no point during this process were samples 
exposed to high energy particle beams or temperatures greater than 120°C.

2.3  FTT Sample Preparation

Extracts of FTT reactions were diluted with a small volume of acetone and distilled 
water. This mixture was transferred to a clean glass vial or a 50 mL centrifuge tube, 

Fig. 3 Photomicrographs of trapezoidal microtome sections of Gunflint Chert embedded in sulfur 
(a) before and (b) after heating in a 60°C oven for 24 h. Most of the chert falls out of each section 
due to chattering, leaving a hole in the section, but microquartz grains held in place by the sulfur 
are visible after the sulfur has been sublimated. The copper grid bars are spaced approximately 
100 mm apart
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in which a SiO-supported TEM grid was oriented film-side upwards. The liquid 
was evaporated over several days in a dessicator, leaving a film of insoluble FTT 
material on each TEM grid.

2.4  Scanning Transmission X-ray Microscopy (STXM)

Photons with X-ray wavelengths (0.01–10 nm) may have enough energy to activate 
discrete electronic transitions within individual atoms. Isolated carbon, nitrogen, and 
oxygen atoms have core shell ground state binding energies (1s → ) of 284.2 eV, 
409.9 eV, and 543.1 eV, respectively (Henke et al. 1993). These ionization poten-
tials are shifted slightly to around 291 eV, 405 eV, and 540 eV, respectively, when 
the electronic orbitals are hybridized for organic bonding (Stöhr 1992). In addition, 
the unique electronic configurations of s- and p-bonding for each type of organic 
bond and functional group further shift the energy levels and allow for anti-bonding 
s* and p* states. For example, the 1s → p* (anti-bonding) transition in aromatic 
carbon (C=C) can be activated by the absorption of 285.0 eV X-rays, while the 
same electronic transition in simple carbonyl bonds (C=O) occurs at 286.6 eV. 
Some characteristic energies for different organic bonds and functional groups are 
given in Table 3. Photons with energies above these characteristic values (“soft” 
X-rays) may be absorbed by the electrons in the sample.

In scanning-transmission X-ray microscopy (STXM), soft X-rays generated 
from a synchrotron source are energy-filtered by a monochromator grating and 
focused onto the sample by a Fresnel zone plate. In this study, samples were ana-
lyzed using the STXM instrument at the X1A1 beam line at the National 
Synchrotron Light Source at Brookhaven National Laboratory (U.S. Dept. of 
Energy). Individual photon energies can be selected with an energy resolution of 
less than 0.1 eV (Winn et al. 2000).

X-ray absorption images are acquired at specific photon energies between 270 
and 320 eV by scanning a thin sample across the stationary photon beam and 
recording the photon flux passing through the sample. Spatial resolution in these 
images is limited by the width of the X-ray beam. The minimum spatial resolution 
achievable by zone plate optics is limited only by the width of the outermost zone 
(Dd

N
) by

1.22 Nr d= ∆

and current 25 nm zone plates can focus X-rays down to ~30 nm spot sizes 
(Jacobsen et al. 1992). Contrast in these images depends on the absorption cross-
section (s), sample density (r) in atoms per unit volume, and sample thickness (z) 
as

0
zI I e rs−=
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where I
0
 and I are the incident and transmitted photon flux, respectively (Kirz 

et al. 1995; Stöhr 1992). The absorption cross-section depends on both the X-ray 
energy and the electronic structure of the sample and has been tabulated for all 
major elements, including carbon, nitrogen, and oxygen (Henke et al. 1993). 
Therefore, STXM image contrast largely represents the composition of the sample. 
For example, since organic bonds and functional groups do not generally absorb 

Table 3 Common absorption energies for XANES and ELNES

Functional group Transition
Energy 
(eV) Reference

Carbon K
Alkene C=C 1s → p* 284.8 Dhez et al. 2003; Rightor et al. 1997
Aromatic C=C 1s → p* 285.0 Stöhr 1992
Imine C=N 1s → p* 285.7–285.9 Dhez et al. 2003; Shard et al. 2004
Triazine C

3
H

3
N

3
1s → p* 286.2 Apen et al. 1993

Aldehyde O=CH 1s → p* 286.3 Hitchcock and Brion 1980
Imidazole C

3
H

4
N

2
1s → p* 286.5 Apen et al. 1993

Nitrile C≡N 1s → p* 286.6–286.7 Apen et al. 1993; Dhez et al. 2003; 
Kikuma et al. 1998

Ketone C=O 1s → p* 286.6–286.8 Hitchcock and Brion 1980; Urquhart 
and Ade 2002

Aliphatic C-C 1s → 3p/s 287.2–288.3 Hitchcock and Brion 1980; Ishii  
and Hitchcook 1988

Amide O=C-NH
x

1s → p* 288.0–288.1 Bassim et al. 2008; Urquhart  
and Ade 2002

Carboxyl O=C-O 1s → p* 288.5–288.7 Urquhart and Ade 2002
Diamond C-C 1s → s* 289.0 Morar et al. 1985
Alcohol, Ether C-O 1s → 3p/s 289.0–289.4 Ishii and Hitchcook 1988
Urea (NH

x
)

2
CO 1s → p* 289.4–289.5 Urquhart and Ade 2002, Urquhart 

et al. 1995
Carbonate CO

3
1s → p* 290.3 Zhou et al. 2008

Nitrogen K
Imine C=N 1s → p* 398.8 Apen et al. 1993; Leinweber et al. 

2007
Nitrile C≡N 1s → p* 399.7–399.9 Leinweber et al. 2007; Shard et al. 

2004
Amide O=C-NH

x
1s → p* 401.4–401.5 Gordon et al. 2003; Leinweber et al. 

2007
Urea (NH

x
)

2
CO 1s → 3p/s 401.5–401.7 Urquhart et al. 1995

Pyrrole C
4
H

4
NH 1s → p* 402.2–402.4 Leinweber et al. 2007

Oxygen K
Carbonyl C=O 1s → p* 531.3 Hitchcock and Brion 1980; Urquhart 

and Ade 2002
Carboxyl O-C=O 1s → p* 532.2–532.4 Gordon et al. 2003
Alcohol OH 1s → s* 533.9–534.1 Ishii and Hitchcook 1988
Carbonate CO

3 1s → p* 534.0 Madix et al. 1988
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photons with energies below ~284 eV, carbonaceous matter will be invisible in 
STXM images acquired using photon energies below this value. However, carbona-
ceous matter will be quite visible in images acquired at 290 eV, where the absorp-
tion coefficient for hybridized carbon is largest. Carbonaceous matter can be 
trivially located in the mineral matrix of geological samples by comparing such 
pairs of images (Fig. 4). Similar methods may be applied to identify nitrogen-rich 
and oxygen-rich materials. In addition, the distribution of specific organic bonds 
and functional groups may also be measured. For example, concentrations of aro-
matic carbon and graphite in heterogeneous carbonaceous matter like coals may be 
located by comparing X-ray absorption images acquired at 285 and 290 eV.
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Fig. 4 STXM and XANES of graphite particles. Because carbon atoms do not absorb X-rays 
below ~284 eV, graphite is largely invisible in STXM images acquired at 280 eV but absorbs 
strongly in images acquired at 290 eV. (a) XANES spectrum of low order graphite particles shown 
in the above STXM images. (b) Reference spectrum of randomly ordered graphite particles. (c) 
Reference spectrum of a single crystal graphite oriented with its c-axis parallel to the X-ray beam, 
causing a depression of the s*

1
 peak
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2.5  X-ray Absorption Near-Edge Structure Spectroscopy 
(XANES)

A more complete picture of the local structure and bonding of carbonaceous matter 
may be obtained by recording the amount of X-ray absorption over a range of photon 
energies for a given position. This was accomplished by acquiring a series of 
STXM images at multiple energies to create a three-dimensional data “stack” 
(Jacobsen et al. 2000). The procedure is the same whether the STXM data is a 
single point, a one-dimensional line, or a full two-dimensional image. The energy 
step between images may be as small as 0.1 eV, limited by the resolution of the 
monochromator system (Winn et al. 2000). In a properly aligned stack, X-ray 
absorption intensities were averaged from an identical region of interest within 
each image. Contributions from instrument optics and the sample support film can 
be removed by calculating the optical density (OD) at each energy

0

OD log
I

z
I

rs= − =

where I is the average intensity from the region of interest and I
0
 is the average 

intensity from a nearby sample-free region. Regions of interest with similar spectral 
features were selected using principal component analysis and component cluster 
analysis (Lerotic et al. 2004, 2005).

A typical C-XANES spectrum of carbonaceous matter contains two main com-
ponents. The first is a sudden increase in absorption at the ionization potential 
energy. For core shell excitations, this step is known as the K-edge, and represents 
electronic transitions to continuum states (1s ®). The second feature of the spec-
trum is a number of pre-edge peaks at absorption energies below the ionization 
potential, representing discrete electronic transitions to various anti-bonding p* and 
s*states (Table 3; Fig. 4).

XANES has several applications for the characterization of kerogen and ancient 
carbonaceous matter. Because of the intense p* and s*

1
 photoabsorptions in graph-

ite, XANES has been utilized to assess the thermal maturity and graphitization of 
kerogens and coals (Cody et al. 1996, 1998) and the relative proportions of aliphatic 
and aromatic moieties (Cody et al. 1995; Haberstroh et al. 2006). The strength of 
C 1s photoabsorptions of minerals are affected by the orientation of the sample 
relative to the incident X-ray beam (Rosenberg et al. 1986), so changes in the inten-
sity of characteristic graphite peaks may be used to determine the crystallinity of 
sedimentary graphites in order to distinguish different depositional environments 
(Brandes et al. 2008; Haberstroh et al. 2006). Oxidized functional groups, such as 
carboxyl, have also been observed in kerogens using XANES (Cody et al. 1996, 
1998; Jokic et al. 2003). Relative intensities of these peaks may be used to map the 
distribution of lignin and polysaccharides in modern and fossil plants (Boyce et al. 
2002; Cody et al. 2009). Similar studies have used XANES to map the distribution 
of microbial organic matter in modern carbonaceous microbialites (Benzerara et al. 
2006) and biofilms (Lawrence et al. 2003). Although nitrogen concentrations in 
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kerogen may be low, N-XANES has been used to identify aromatic (Mitra-Kirtley 
et al. 1993a, b; Mullins et al. 1993) and aliphatic nitrogen compounds (Jokic et al. 
2004; Vairavamurthy and Wang 2002). Similar studies using higher energy “hard” 
X-rays allows the identification of aromatic (Lemelle et al. 2008; Sarret et al. 2002) 
and aliphatic (Wiltfong et al. 2005) sulfur compounds by S-XANES.

2.6  Tranmission Electron Microscopy (TEM)

In transmission electron microscopy (TEM), high energy electrons are focused by 
magnetic lenses onto a thin sample, after which an image can be formed from scat-
tered and diffracted electrons (Buseck 1992; McLaren 1991). Image resolution in 
TEM is mainly limited by the wavelength of the electrons in the beam (l), which 
is determined by the operating extraction voltage of the instrument, and the spheri-
cal aberration of the objective lens (C

s
). Using the Scherzer definition of resolution 

in TEM (O’Keefe 1992), the minimum distance that can be distinguished using an 
electron beam of wavelength l can be approximated by

31
4 4

min 0.67 sd C l=

In most modern 200 keV TEMs, l = 0.00251 nm and C
s
 ranges from 0.5–1.0 mm, 

giving Scherzer resolutions around 2.0 Å. Resolution may be increased by increas-
ing the operating voltage (which decreases l) or correcting for spherical aberration. 
Increasing the electron voltage may have negative consequences for beam damage 
of carbonaceous materials, but current capabilities for spherical aberration correc-
tion allow up to 0.28 Å spatial resolution at 200 keV (Krivanek et al. 2008). This 
capability for sub-nm spatial resolution for both imaging and spectroscopy makes 
TEM a useful and versatile technique for the characterization of microfossils and 
ancient organic matter.

In this study, TEM analyses were performed on a Philips CM200-FEG at 200 
keV, a JEOL JEM-2010F at 200 keV, or a Philips EM400ST-FEG at 100 keV, all 
housed at the Center for Solid State Science at Arizona State University. Each of 
these microscopes utilizes a field emission gun (FEG) electron source for high 
energy coherence. To avoid beam damage from high energy electrons, TEM imaging 
was limited to 60 s and any condensed beam spectroscopic analyses such as ELNES 
(Section 2.7) were limited to 30 s. Samples were carbon coated to mitigate charging 
effects, but contributions from this carbon coating were negligible.

Coherent electrons can interact with a thin sample in several ways, leading to 
complex contrast in TEM images (Williams and Carter 1996). Incoherent elastic 
scattering (i.e. Rutherford scattering) gives rise to mass-thickness contrast. In uni-
formly thick samples, high atomic mass materials will appear darker than low 
atomic mass materials, which is useful for the visual identification of organic mat-
ter (lower Z) in a mineral matrix such as quartz (higher Z). Mass-thickness will be 
the dominant form of image contrast in amorphous materials like ungraphitized 
carbonaceous matter and kerogen (Fig. 5). In crystalline materials, coherent Bragg 
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diffraction along crystal lattice planes creates diffraction contrast, which usually 
takes the form of bend contours in bent or strained samples or as thickness fringes 
in samples of non-uniform thickness and at sample edges. For the analysis of car-
bonaceous matter associated with microfossils, diffraction contrast is generally 
undesired and was minimized by taking care to avoid instrument configurations in 
which only a few diffracted beams contribute to TEM images. Phase contrast arises 
from Bragg diffraction of individual crystalline materials and gives rise to lattice 
fringes (Fig. 6). These fringes do not correspond to atom positions in the crystal but 
rather to the orientations of lattice planes in the crystal, and therefore the lattice 
fringes will change if the crystal is tilted to a different orientation. Phase contrast, 
in conjunction with electron diffraction is useful for identifying the alignment of 
graphite and partially graphitized carbonaceous matter, particularly in relation to 
adjacent mineral grains which may have served as a substrate for crystal growth. 
The amount of graphite lattice fringes in TEM images of kerogen samples can be 
correlated to the thermal maturity of the host rock (Buseck et al. 1988). Fine scale 
microbial structures can be identified by TEM imaging and compared with micro-
fossil structures or disseminated carbonaceous matter in Precambrian cherts 
(Glikson et al. 2008).

The above image contrast mechanisms apply to both conventional TEM and 
scanning TEM (STEM), in which the electron beam is condensed to a small spot 
near the resolution limit of the instrument and rastered over the sample. Because 
sample illumination is not parallel in STEM mode, Bragg diffraction is reduced, 
generating images with primarily mass-thickness contrast. Thus, STEM images of 
graphitized carbonaceous matter will appear similar to those of amorphous carbo-
naceous matter. However, carbonaceous matter in a mineral matrix, especially 
carbonaceous grain boundary films, will appear uniformly brighter than all other 
materials in the sample. Using an annular detector, only highly scattered electrons 
are used to contribute to the image, reversing the contrast such that low-Z material 
like carbonaceous matter appear dark while high-Z materials appear bright. 

Fig. 5 Bright-field TEM image of ~100 nm carbonaceous films (arrows) along quartz (Qtz) grain 
boundaries in chert. Mass-thickness contrast causes the carbonaceous matter to appear much 
brighter than quartz (Modified from De Gregorio and Sharp [2006])
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This high-angle annular dark-field (HAADF) imaging in STEM mode may be 
useful to identify metal atoms or other inorganic materials that have been incorpo-
rated into carbonaceous matter. Resolution in STEM mode is greatly increased by 
using an instrument equipped with a field emission gun (FEG) electron source.

Electron diffraction is the primary method of identifying crystalline materials in 
TEM. Since each mineral structure is unique, the corresponding electron diffraction 
patterns (EDPs) are unique to that crystal structure. Aside from the identification of 
single crystal mineral phases, EDPs may be used to determine the crystallographic 
orientation of a known mineral or orientation relationships between crystals. The EDP 
from a crystal in a given orientation is related to the phase contrast lattice fringes 
in a TEM image by a Fourier transform. Electron diffraction may still give informa-
tion about poorly-crystalline materials. Randomly-oriented microcrystalline domains 
in partially graphitized carbonaceous matter may give rise to diffuse rings rather 
than discrete diffraction spots, with a primary ring radius corresponding to the 3.35 Å 
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Fig. 6 Bright-field TEM image of low order semi-graphite showing characteristic 3.4 Å lattice 
fringes, with a corresponding ELNES spectrum
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spacing between graphene sheets. Structurally amorphous materials will have an 
EDP dominated by a single central undiffracted spot, surrounded by faint diffuse 
scattering, usually in the form of broad rings representing the most prevalent inter-
atomic spacings in the material.

TEM instruments can be equipped with an attached energy-dispersive X-ray 
spectrometer (EDS) allowing for compositional analysis of samples by character-
istic X-ray emission. In conventional TEM, EDS analyses are limited to a station-
ary spot, but STEM allows for compositional mapping. Unfortunately, the 
fluorescence yield from carbon and other light elements is extremely low (Hink 
and Paschke 1971), so EDS spectra are dominated by emission peaks from heavier 
elements like silicon. However, the carbon Ka emission in spectra of carbonaceous 
matter should be adequate for quantification by the Cliff-Lorimer method, 
although this is generally limited to calculating the ratio of carbonaceous matter 
to mineral matrix (C/Si). In studies of microfossils and ancient organic matter, 
including this one, EDS is most commonly used only to identify and locate carbo-
naceous material in the sample.

2.7  Electron Energy-Loss Near-Edge Structure Spectroscopy 
(ELNES)

During inelastic scattering of electrons by the sample, a small portion of energy is 
transferred to crystal lattice vibrational modes (phonons) or to electrons around 
individual atoms for electronic transitions from ground states to excited states. By 
dispersing the scattered electrons through a bending magnet, the distribution of 
electron energy-loss can be measured (Egerton 1996). The majority of electrons are 
elastically scattered by the sample, and therefore have zero energy loss, but the 
remainder will show characteristic energy losses depending on the composition and 
bonding within the sample. The technique, also known as electron energy-loss 
spectroscopy (EELS) is analogous to XANES except that only a small portion of 
the electron’s energy is absorbed rather than an entire photon. ELNES spectrome-
ters can also generally access a larger energy range than can STXM optics. Energy 
resolution in ELNES is defined by the full-width half-maximum of the zero-loss 
peak and depends largely on the initial energy coherence of the electron source. 
Spectral resolution can also be affected by the choice of spectrometer entrance and 
exit apertures. A smaller aperture will increase spectral resolution by blocking off-
axis electrons but decrease signal-to-noise. Decreasing sample thickness also 
increases spectral resolution by eliminating multiple scattering interactions. FEG 
electron sources provide the best energy coherence, and in this study the measured 
ELNES energy resolution ranged from 0.7 to 1.5 eV at a spectrometer dispersion 
between 0.05 and 0.3 eV/channel. However, with current aberration correction 
technology, achievable spectral resolution may be as good as 0.2 eV at 200 keV 
(Krivanek et al. 2008). Although the practical spectral resolution of ELNES is not 
as good as that of XANES, the benefit of ELNES is of course the high spatial 
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resolution of the TEM, which is roughly equal to the size of the electron beam on 
a very thin sample.

Like XANES, ELNES reveals the characteristic energy transitions of electrons 
in covalent bonds and organic functional groups. In practice, the abundances of 
non-carbon atoms in carbonaceous matter are commonly too low for reliable 
ELNES analysis, so most ELNES of microfossil organic matter depends on inter-
pretation of features at the C K-edge. Two dominant features in C-ELNES spectra 
are the 1s ® p* (anti-bonding) absorption at 285 eV and the broad 1s ® s* (anti-
bonding) absorption above 292 eV, followed by an exponentially-decreasing tail of 
electronic transitions to continuum states. These two features represent carbon-
carbon double bonds (C=C) and single bonds (C–C), respectively. In C-ELNES 
spectra of graphite and graphitized carbonaceous matter, the p* absorption is nar-
row and intense, and the intensity of the s* absorption is differentiated into a sharp 
s*

1
 excitonic absorption at 292 eV followed by a s*

2
 plateau between 292 and 305 

eV (Fig. 6). Because the electron beam is not polarized in TEM, the crystal orienta-
tion of graphite does not affect the p* and s*

1
 absorptions as in XANES. C-ELNES 

spectra of amorphous carbons, such as an evaporated carbon film commonly used 
to mitigate charging in TEM, contain a well-rounded, almost spherical, s* absorp-
tion and a broad p* “shoulder” at 285 eV with about half the intensity as the p* 
absorption in graphite. Unfortunately, due to the limited energy resolution of 
ELNES, additional characteristic energy absorptions from organic functional 
groups are commonly obscured by the intense p* and s* absorptions. However, if 
present, energy absorptions will appear at the same resonances as observed by 
XANES (Table 3).

C-ELNES is useful for assessing the graphitization of carbonaceous matter asso-
ciated with microfossils. Partially graphitized kerogens that show graphitic 3.4 Å 
lattice fringes in TEM images also generate graphitic s*

1
 excitons in C-ELNES 

spectra, while carbonaceous material lacking graphitic lattice fringes also lack a 
s*

1
 absorption (De Gregorio and Sharp 2006; Moreau and Sharp 2004). Kerogen 

and carbonaceous material containing abundant randomly-oriented polyaromatic 
domains with no ordered stacking of domains will be represented in C-ELNES 
spectra by an intense p* absorption and the absence of a graphitic s*

1
 absorption. 

In addition, s* intensity will likely be distributed towards lower energies without 
forming a distinct graphitic s*

2
 plateau.

3  Results

3.1  Apex Carbonaceous Matter

Correlated STXM and TEM characterization of disseminated carbonaceous matter within 
Apex chert revealed that the carbonaceous matter is mainly constrained to ~100 nm films 
along microquartz grain boundaries and at triple junctions (De Gregorio and Sharp 
2006; De Gregorio et al. 2009), similar to other TEM studies of carbonaceous matter 
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in Precambrian cherts (Moreau and Sharp 2004). Because quartz has a high hardness, 
ultramicrotomy during sample preparation commonly mechanically disaggregates 
the chert grains from the ancient carbonaceous matter, which can be located on the 
TEM grids by comparing STXM images acquired at 290 eV, where the interaction 
cross-section for carbon atoms is large, with those acquired at 280 eV, where the 
interaction cross-section is small (Fig. 7). In TEM images, much of the carbonaceous 

Fig. 7 STXM images of Apex carbonaceous matter. The X-ray absorption properties of carbon 
atoms changes between 280 and 290 eV, but those of quartz remain relatively constant over this 
energy range. Sample designations are (a) I.E10, (b) II.A6, and (c) II.C9 (Table 2)
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Fig. 8 TEM image mosaic of string-like Apex carbonaceous matter in sample I.E10. The corre-
sponding STXM image is shown in Fig. 7a. The white box in the lower left is the location of the 
high-resolution TEM image shown in Fig. 10a

matter exhibits a strip- or string-like morphology (Fig. 8), due to the mechanical 
separation of carbonaceous grain boundary films from microquartz grains during 
ultramicrotomy. The widths of these strips are roughly equivalent to the sectioning 
thickness, while the thicknesses of the strips are equal to the width of the unper-
turbed grain boundary film. The widths of carbonaceous strips are increased in 
ultramicrotomed samples sectioned at a thickness of 200 nm (Fig. 9). In these 
thicker sections the effects of chattering are not as prevalent as in the 90 nm sec-
tions, and the carbonaceous films generally remain attached to the microquartz 
grains. High-resolution TEM images indicate that Apex carbonaceous matter is 
structurally amorphous, lacking the characteristic, closely-spaced, 3.4 Å lattice 
fringes visible in low order semi-graphite and graphitized kerogen (Fig. 10).

The local carbon bonding environment and distribution of organic functional 
groups in Apex carbonaceous matter are indicated by ELNES and XANES spec-
troscopy. C-ELNES spectra contain a sharp peak at 285 eV, corresponding to a 
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Fig. 10 TEM image mosaic of (a) string-like Apex carbonaceous matter from sample I.E10 
compared with (b) low order graphite containing characteristic 3.4 Å lattice fringes (Modified 
from De Gregorio et al. [2009])

Fig. 9 TEM image of strip-like Apex carbonaceous matter (CM) attached to microquartz grains 
(Qtz) in sample III.D6. This sample was ultramicrotomed at a thickness of 200 nm

1s → p* electronic transition in aromatic carbon bonds (Fig. 11). The intensity of 
this peak nearly matches that in semi-graphite, indicating that Apex carbonaceous 
matter contains a significant amount of aromatic bonding, most likely in polyaro-
matic domains. However, the characteristic 1s → s*

1
 exciton at 292 eV, present in 

graphite and low order graphitic carbon, is not observed in Apex carbonaceous 
matter. The presence of abundant aromatic carbon without long range graphitic 
ordering signified by a s*

1
 peak indicates that the polyaromatic domains in Apex 

carbonaceous material are randomly oriented with respect to each other, consistent 
with a kerogen-like macrostructure. At higher energies above the ionization poten-
tial, the spectra are dominated by a continuum of 1s → s* electronic transitions 
from covalent s bonds. In general, the C-ELNES spectra appear similar to that of 
amorphous carbon except that the shape of the s* peak shows a subtle redistribution 
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Fig. 11 C-ELNES spectra of Apex carbonaceous matter compared with inorganic standards: 
(a) Low order graphite; (b, c) Apex carbonaceous matter in sample I.E10 from De Gregorio et al. 
(2009); (d) Apex carbonaceous grain boundary films from De Gregorio and Sharp (2006); 
(e) Thick amorphous carbon film

of intensity towards lower energies, rather than a nearly hemispherical s* peak as 
seen in amorphous carbon. It is likely that this shift in intensity corresponds to 
singly-bonded functional groups and aliphatic chains attached to polyaromatic 
domains.

A kerogen-like macrostructure is supported by the corresponding C-XANES 
spectra (Fig. 12). These spectra contain aromatic p* peaks at 285 eV and lack a 
graphitic s*

1
 peak at 291 eV, consistent with ungraphitized polyaromatic carbon. In 

addition, two intermediate 1s → p* peaks are present, due to oxygen atoms bonded 
to carbon (Table 3). The intense peak at 288.5 eV arises from carboxylic acid func-
tional groups (–COOH), while the less intense peak at 286.8 eV is most likely due 
to the presence of phenol and enol functional groups (C

arom.
–OH) or aromatic 

ketones (C
arom.

–C=O). Although nitrile functional groups (C≡N) also absorb X-rays 
at this energy, there is no other indication of high N abundance in the sample, nor 
do the XANES spectra indicate the presence of other N-containing functional 
groups. Some of the carbonaceous samples were too thick and electron dense for 
the efficient transmission of X-rays, causing the resulting XANES spectra to satu-
rate (Fig. 12d). In these spectra, any local bonding information is hidden by the 
increased photoabsorption of the sample.
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3.2  Strelley Pool Carbonaceous Matter

Strelley Pool Chert samples analyzed in this study contain more carbonaceous mat-
ter than the Apex samples. Consequently, this is reflected in ultramicrotomed 
samples of Strelley Pool Chert by thicker string-like and strip-like sections. STXM 
images of Strelley Pool sections commonly contain regions of diffuse carbonaceous 
matter in addition to dense carbonaceous sections (Fig. 13). Correlated high-
resolution TEM images reveal that the diffuse carbonaceous matter in STXM 
images are regions full of string-like carbonaceous matter, commonly still connected 
to microquartz grains (Fig. 14). Sheet-like carbonaceous matter also occurs when 
carbonaceous grain boundary films are detached intact from the quartz and lie flat 
upon the TEM grid support film. In thicker, 200 nm ultramicrotomed sections, 
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Fig. 12 C-XANES spectra of Apex carbonaceous matter compared with inorganic standards: 
(a) Low order graphite; Apex carbonaceous matter from samples (b) I.E10, (c) II.A6, and (d) 
II.C9; (e) Thick amorphous carbon film
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string-like carbonaceous matter is commonly connected in large networks spanning 
several mms (Fig. 15). Open areas in these networks represent the locations of 
microquartz grains that were removed during sectioning, leaving the carbonaceous 
grain boundary films intact. Three carbonaceous films will commonly intersect at 
a single node as a triple junction between recrystallized quartz grains.

Despite the wider variety of morphology for Strelley Pool carbonaceous matter, 
it is structurally and chemically similar to Apex carbonaceous matter. C-ELNES 
spectra of Strelley Pool carbonaceous matter contain strong p* peaks, indicating a 
generally amorphous macrostructure with abundant aromatic carbon (Fig. 16a). 
C-XANES spectra of both string-like and sheet-like carbonaceous matter contain 
similar peaks characteristic of aromatic carbon (285 eV), aromatic enols and 
ketones (286.8 eV), and carboxyl functional groups (288.5 eV), similar to those 

Fig. 13 STXM images of Strelley Pool carbonaceous matter. The X-ray absorption properties of 
carbon atoms changes between 280 and 290 eV, but those of quartz remain relatively constant over 
this energy range. Sample designations are (a) III.C1 and (b) III.D3 (Table 2)
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observed in Apex carbonaceous matter (Fig. 17). These spectral results are consistent 
with a kerogen-like macrostructure containing oxygenated polyaromatic domains 
connected by aliphatic hydrocarbon chains. Since no graphitic 3.4 Å lattice fringes 
were observed in high-resolution TEM images, the aromatic moieties in Strelley 
Pool carbonaceous matter are randomly oriented, similar to low maturity kerogen.

3.3  Gunflint Kerogen

Gunflint kerogen in ultramicrotomed chert sections shows similar morphological 
characteristics to Apex and Strelley Pool carbonaceous matter. String-like and 
sheet-like carbonaceous matter is present, derived from thin carbonaceous films 
surrounding microquartz grains. In thicker ultramicrotomed sections, thick strips of 
kerogen connect quartz crystals (Fig. 18). The macrostructure and local carbon 
bonding in Gunflint kerogen is similar to that of Apex and Strelley Pool carbona-
ceous matter. The C-ELNES spectrum (Fig. 16b) contains a strong p* peak indica-
tive of polyaromatic domains but lacks a graphitic s*

1
 peak, while the C-XANES 

spectra (Fig. 17) contain peaks due to aromatic p bonding (285 eV), aromatic enols 

Fig. 14 Correlated TEM images of (a) sheet-like and (b) string-like carbonaceous matter in 
Strelley Pool Chert, sample III.D3. The white arrows correspond to the black arrows in Fig. 13b
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Fig. 15 TEM image mosaics of carbonaceous networks in 200 nm thick ultramicrotomed sec-
tions of Strelley Pool Chert, sample III.D2. Networks are created when microquartz grains fall out 
of the section, leaving the carbonaceous grain boundary films between them intact

and ketones (286.8 eV), and carboxyl functional groups (288.5 eV). These ELNES 
and XANES spectral features are similar between all three Precambrian samples 
and consistent with the structure and bonding within a low maturity kerogen.

3.4  Fischer-Tropsch-Type Carbonaceous Matter

The abundances of different organic components in FTT carbonaceous matter were 
measured by gas chromatography-mass spectrometry (Table 4). As reaction temperature 
increases, the organic products generally become dominated by aliphatic molecules 
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Fig. 16 C-ELNES spectra of ancient carbonaceous matter in (a) Strelley Pool (sample III.D2) 
and (b) Gunflint Chert (sample II.B1) compared with (c-e) Apex carbonaceous matter. Spectra 
(c) and (d) are reprinted from De Gregorio et al. (2009) and spectrum (e) is reprinted from De 
Gregorio and Sharp (2006)

typical of industrial Fischer-Tropsch synthesis, and the weight percent yield of FTT 
reaction product is maximized near 200°C (Rushdi and Simoneit 2001). The rela-
tive concentration of an unresolved complex mixture (UCM) of branched and 
cyclic hydrocarbons in the FTT products is strongly dependent on the reaction 
temperature, decreasing markedly as temperature increases up to 350°C, where 
hydrocarbon “cracking” reactions decrease the abundance of aliphatic compounds. 
In this study, the FTT sample synthesized at 175°C contains almost 50% (by 
weight) UCM, while the sample synthesized at 250°C is dominated by aliphatic 
compounds.

The desiccated FTT liquid extracts form heterogeneous films on TEM grids 
(Fig. 19). FTT organics synthesized at 175°C generate a nebulous “clumpy” film 
with few condensed particulate matter. Carbon concentration in this film varies spa-
tially on the order of ~50 nm. FTT organics synthesized at 250°C, on the other hand, 
separate into two distinct phases. The first phase is deposited as a relatively homog-
enous film across the entire TEM grid, while the second phase condenses into ~200 
nm aggregates of 5–10 nm carbonaceous nanoparticles. These aggregates likely 
form during desiccation in sample preparation. As the relative concentration of 
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Fig. 17 C-XANES spectra of carbonaceous matter in Strelley Pool Chert samples (a) III.C1 
(Fig. 13a) and (b, c) III.D3 (Fig. 14a and b, respectively) and in Gunflint Chert samples (d) III.A4 
and (e) III.B1, compared with (f) Apex carbonaceous matter

Fig. 18 TEM image mosaic of strip-like carbonaceous matter spanning microquartz grains (Qtz) 
in 200 nm thick ultramicrotomed sections of Gunflint Chert (sample II.B1)
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hydrocarbons increases, particulate matter within the 250°C extract begins to 
aggregate and precipitate out of solution. In addition, hydrocarbons begin to segre-
gate into hydrophobic and hydrophilic phases. The hydrophobic phase is composed of 
abundant non-polar alkane compounds, while alkanols, alkanoic acids, and UCM 
dominate the hydrophobic phase.

Fig. 19 TEM images of FTT carbonaceous matter synthesized at (a, b) 175°C and at (c, d) 
250°C. The location of (d) is shown by the box in (c)

Table 4 Relative concentrations of principal FTT products (in wt.% per 100 mg)

Temperature (°C)a This study (°C)

Compound 150 200 250 300 175 250 

n-alkanes   5  17  58  72  10  59
n-alkenes   4  11   1   7   1
n-alkanols   9  24  20  15  17
n-alkanoic acids   7   7   8  20   6   8
UCMb  73  37   5   0  49  15
aData compiled from Rushdi and Simoneit (2001).
bUnresolved complex mixture of branched and cyclic compounds.
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Both ELNES and XANES spectra of FTT carbonaceous matter indicate the 
presence of abundant carboxyl functional groups. Energy loss due to carboxyl func-
tional groups are not often observed in C-ELNES spectra because of lower instru-
mental resolution and overlapping from the surrounding p* and s* peaks. However, 
small carboxyl peaks are observed in the spectra of both FTT samples (Fig. 20). In 
addition the shape of the s* peak is more hemispherical and reminiscent of amor-
phous carbon than that of the Precambrian carbonaceous matter, in which much of 
the s* intensity is concentrated at lower energies. C-ELNES spectra of the 250°C 
FTT sample indicates that particulate aggregates contain enhanced carboxyl func-
tionality over the relatively homogenous film between aggregates, suggesting that 
the majority of the oxidized hydrocarbons and UCM in the sample are contained 
within the particulate material. The overabundance of carbonyl functional groups in 
both samples is also apparent in C-XANES spectra (Fig. 21). Although the two FTT 
extracts have different compositions, their respective C-ELNES and C-XANES spec-
tra are similar. These spectroscopic techniques highlight the similar abundances of 
alkanols (containing –OH groups) and alkanoic acids (containing –COOH groups) in 
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Fig. 20 C-ELNES spectra of FTT carbonaceous matter synthesized at (a) 175°C and (b) 250°C, 
compared with (c) Apex carbonaceous matter and (d) an amorphous carbon film. The two FTT 
samples contain abundant carboxyl functional groups not present in the other two samples
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both samples. A small difference may be present around 287.8 eV, where photoab-
sorption for the 1s ® 3s/p transition in C–C single bonds occur. The C-XANES 
spectrum from the 250°C extract appears to have slightly more intensity at this 
energy than in the spectrum from the 175°C extract. Since the 175°C extract con-
tains more aromatic material in the form of UCM, the 250°C extract will have a 
somewhat higher proportion of aliphatic material, even though the overall aliphatic 
abundance in both samples is similar.

4  Discussion

4.1  Beam Damage of Carbonaceous Matter by STXM and TEM

Reliable interpretation of XANES and ELNES data from carbonaceous matter 
requires an assessment of potential alteration of the sample during the spectroscopic 
analyses. STXM, which utilizes 270–580 eV X-rays, deposits a much lower energy 
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Fig. 21 C-XANES spectra of FTT carbonaceous matter synthesized at (a) 175°C and (b) 250°C, 
compared with (c) Apex carbonaceous matter. Both FTT samples are distinct from Apex carbona-
ceous matter by their overabundance of carboxyl functional groups and lack of aromatic enol and 
ketone functional groups
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dose on the sample than 100–300 keV electrons in TEM, and therefore generally 
represents a much less damaging environment for beam-sensitive samples. During 
XANES, photoabsorption of low energy X-rays promotes core electrons to anti-
bonding or continuum states, making it possible to alter the structure and bonding 
in carbonaceous matter. Rather than simply breaking bonds, the local electronic 
configuration may change such that new covalent bonds or functional groups with 
lower energy states form. In predominantly aromatic carbonaceous matter, such as 
kerogen and humic acids, which are generally more stable under the beam, 
C-XANES spectra do not visibly change during analyses, but small amounts of 
amine (–NH

x
) and amide (O=C–NH

x
) functional groups may be altered into nitrile 

(CºN) functional groups, while heterocyclic nitrogen abundance appears unchanged 
(Leinweber et al. 2007). Similar effects are observed for X-ray damage of amino 
acids (Zubavichus et al. 2004). Fortunately, these structural changes are minor for 
the typical XANES acquisition times and photon doses used in this study. In ali-
phatic carbonaceous matter and many polymers, however, aromatic bonding and 
functional groups are observed after significant exposure to the X-ray beam 
(Rightor et al. 1997; Zhang et al. 1995). Cellulose and polysaccharide molecules in 
wood and plant matter contain abundant hydroxyl (–OH) and ester (C–O–C) bonds 
that are quickly altered into aromatic enol (C

arom.
–OH) and vinyl ketone (C

arom.
–

C=O) functional groups (Cody et al. 2009).
Because TEM utilizes high energy electrons, it has a higher potential than 

STXM for damage and alteration of carbonaceous material, and therefore all 
TEM analyses should be performed after STXM. Unlike photons from synchro-
tron or laser sources, electrons have mass and can cause atomic displacements, 
or “knock-on” damage, in addition to radiolysis (Egerton et al. 2004). Local 
heating by a condensed electron beam can also damage sensitive organic matter 
(Egerton and Rauf 1999). These types of inelastic scattering can cause mass 
loss, break bonds, and change the overall chemical composition of carbona-
ceous matter (Egerton et al. 1987). Amorphization of poorly graphitized carbo-
naceous matter can occur in seconds and is visible in high resolution TEM 
images. Chemical and bonding changes are visible in C-ELNES spectra. For 
dominantly aromatic carbonaceous matter, the intensity of the aromatic p* 
absorption increases slightly while the shape of the s* peak becomes more 
rounded, similar to pure amorphous carbon (Fig. 22). However, for dominantly 
aliphatic carbonaceous matter and polymers, beam damage can cause dramatic 
changes, creating abundant aromatic bonding and other aromatic functional 
groups by the cross-linking of adjacent hydrocarbon chains (Fig. 23). This dif-
ference in radiolysis sensitivity between aromatic and aliphatic molecules 
arises from the delocalized p resonances in polyaromatic domains, which can 
more effectively distribute a given dose of deposited energy than aliphatic s 
bonds (Isaacson et al. 1973).

Damage in TEM may be minimized by several methods (Isaacson 1979). The 
overall electron dose incident on the sample may be reduced by operating the 
microscope at the lowest magnification possible using an uncondensed beam. 
Selecting a smaller spot size, which adjusts the strength of the first condenser lens, 
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Fig. 22 C-ELNES spectra of aromatic carbonaceous matter during exposure to a condensed 
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Fig. 23 C-XANES spectra of nitrogen-rich aliphatic organic matter (a) before and (b) after TEM 
imaging. Nitrile (286.7 eV) and carboxyl (288.5 eV) functional groups are destroyed by electronic 
beam damage and aromatic carbon (285.0 eV) is produced
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also decreases illumination on the sample in addition to increasing the angular 
coherence of the beam. Dwell time for analyses requiring a condensed beam, 
such as ELNES and EDS, should be strictly minimized. Operating the instrument 
in STEM mode with a continuously moving beam generally delivers a smaller 
electron dose than conventional TEM imaging of the same area. Radiolysis dam-
age may be reduced by using a higher operating voltage, although this will 
increase the amount of knock-on damage. Specimen heating and, to a lesser 
extent, radiolysis can be reduced by using a liquid-N

2
-cooled sample holder, 

although this will introduce sample drift from thermal expansion or contraction 
of the holder until it reaches thermal equilibrium. In practice, beam damage of 
carbonaceous samples cannot be avoided in the TEM, but can only be mitigated 
as much as possible.

4.2  Spectral Differences Between XANES and ELNES

There are significant differences between the XANES and ELNES spectra 
acquired from the same carbonaceous samples. The presence of carbonyl (288.5 
eV) and phenol/ketone (286.8 eV) peaks in XANES spectra but not in ELNES 
spectra is partly due to the enhanced energy resolution afforded by the synchro-
tron radiation source. However, it is also likely that exposure to the electron 
beam in TEM may remove oxygen atoms, which would decrease the intensity 
of any carboxyl and phenol peaks in ELNES spectra such that they are not 
resolvable. Similar spectral differences between ELNES and XANES have been 
observed in correlated studies of diesel soot and have been attributed to beam 
damage of the sample during TEM analysis (Braun et al. 2005, 2009). In addi-
tion, the aromatic p* peak (285 eV) appears to be less intense in the XANES 
spectra relative to the carbon K-edge. Although the intensity of the same p* 
peak in ELNES spectra may be enhanced by beam damage in TEM, it is likely 
that, in this case, orientation effects are causing a depression of the p* peak in 
XANES spectra. Since this ancient carbonaceous matter is located along grain 
boundaries in the host rock, it is possible that the majority of the polyaromatic 
domains are likely to be oriented relatively parallel to those grain boundaries. 
When separated from the grain boundaries, the carbonaceous matter will lie 
flat on the support film of the TEM grid, and the polyaromatic domains will 
then be roughly parallel to the surface of the grid. In this orientation, the inter-
action cross-section between the incident X-rays and the aromatic p bonds is 
small because the polarization of the X-rays is roughly perpendicular to the 
hybridized p orbitals (Belavin et al. 2006; Rosenberg et al. 1986; Skytt et al. 
1994). A similar depression of 1s ® p* photoabsorptions are observed in 
XANES spectra of natural graphite deposited in hydrothermal veins (Brandes 
et al. 2008).
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4.3  Structure and Bonding of Precambrian  
Carbonaceous Matter

The similarity between C-ELNES and C-XANES spectra of Apex carbonaceous 
matter and Gunflint kerogen, led De Gregorio et al. (2009) to suggest that Apex 
carbonaceous matter may have a kerogen-like macrostructure of randomly oriented 
polyaromatic domains connected by aliphatic hydrocarbon chains. A similar argu-
ment may be made for Strelley Pool carbonaceous matter. All three Precambrian 
carbonaceous materials are ungraphitized in high-resolution TEM images, but con-
tain significant aromatic carbon bonding. This observation agrees with the aromatic 
p* peaks in both C-ELNES and C-XANES spectra without a characteristic gra-
phitic s*

1
 exciton, which arises once graphitization begins. Although the 

Precambrian carbonaceous samples are ungraphitized, the abundant polyaromatic 
domains can give rise to graphitic resonances in laser Raman spectroscopy, which 
have been observed in both Apex (Brasier et al. 2002; Schopf et al. 2002, 2007) and 
Strelley Pool samples (Allwood et al. 2006b, 2007). In addition, C-XANES spectra 
from each sample indicate the presence of aromatic enol (–OH) and ketone (–C=O) 
functional groups, likely attached to the edges of polyaromatic moieties. These 
C-XANES spectra also include photoabsorptions due to carboxyl (–COOH) func-
tional groups. The ELNES and XANES spectra indicate that Apex and Strelley 
Pool carbonaceous matter and Gunflint kerogen are more than simple hydrocarbon 
macromolecules. These Precambrian materials are spectrally distinct from both 
graphite and amorphous carbon, and their C-XANES spectra indicated the presence 
of oxygenated functional groups within their complex macrostructure.

However, biogenicity cannot be determined from structure and bonding alone. 
For example, the C-XANES of Apex and Strelley Pool carbonaceous matter also 
share spectral similarities with clearly abiotic organic residue from carbonaceous 
chondrite meteorites (Cody et al. 2008) and interplanetary dust particles (Flynn 
et al. 2003; Keller et al. 2004). De Gregorio et al. (2009) paired their TEM and 
STXM data with secondary ion mass spectrometry measurements of nitrogen, sul-
fur, and phosphorus abundances, showing a striking similarity between atomic N/C, 
S/C, and P/C in Apex carbonaceous matter and Gunflint kerogen, despite their 
formation at different locations and time periods. This structural and chemical simi-
larity strongly suggests a single origin for both samples. Since Gunflint kerogen is 
biogenic, Apex and Strelley Pool carbonaceous matter likely represent the degraded 
remains of Archean microorganisms.

4.4  Comparison with FTT Carbonaceous Matter

Precambrian kerogen and kerogen-like carbonaceous matter can be clearly distin-
guished from the FTT carbonaceous products analyzed in this study by ELNES and 
XANES. In particular, both C-ELNES and C-XANES spectra of FTT material 
contain much larger absorptions due to carbonyl functional groups (–COOH) than 
in Precambrian carbonaceous matter. In addition, C-XANES spectra of FTT material 



277Bugs or Gunk? 

show no evidence of aromatic enol (–OH) and ketone (–C=O) present in the 
Precambrian samples. The spectroscopic characterization of FTT carbonaceous 
matter is more consistent with aliphatic hydrocarbons modified by hydroxyl and 
carboxyl functional groups rather than an aromatic kerogen-like macrostructure.

Although FTT carbonaceous matter is structurally and chemically distinct from 
Precambrian chert-hosted carbonaceous matter, this does not necessarily mean that 
FTT synthesis within an ancient hydrothermal system could not create an abiotic 
kerogen-like material. The FTT samples analyzed in this study were synthesized 
without a natural catalyst, presumably reacting with metal carbonyl complexes on the 
surface of the stainless steel reaction vessel, but mineral catalysts may preferentially 
generate different types of organic molecules. Abiotic carbon reduction in a natural 
setting like a hydrothermal vent may utilize several different mineral catalysts, 
increasing the diversity of organic bonding in the FTT products. Some FTT reactions 
tend to synthesize more alkenes containing carbon double bonds (Leif and Simoneit 
2000), generating more aromatic organic matter. Other light elements common in 
biomolecules, such as nitrogen, sulfur, and phosphorus, may also be incorporated into 
FTT carbonaceous matter if appropriate organic precursors are present in hydrother-
mal fluids (Rushdi and Simoneit 2004, 2005). Simple inorganic aqueous species, 
such as HS− or NH

4
+, are less likely to be incorporated into FTT carbonaceous matter, 

but the efficiency of this process is unknown. More research into the reaction path-
ways and ubiquity of FTT processes on the early Earth are necessary, yet it appears 
unlikely that FTT synthesis as we currently understand it could produce carbonaceous 
matter with the structural and compositional complexity of kerogen.

The fate of FTT carbonaceous matter during diagenesis and thermal maturation 
is also largely unknown. During early diagenesis the organic remains of living 
organisms undergo significant volatile loss. Insoluble FTT carbonaceous matter 
would presumably also lose volatile elements during diagenesis, while the more 
soluble molecules would likely be quickly transported away. The residual FTT 
material would lose most of the abundant carboxyl functionality and begin to form 
aromatic structures. Polyaromatic domains may form more easily from FTT mate-
rial dominated by alkenes. Although these processes would decrease the intensity 
of carboxyl peaks in ELNES and XANES spectra of matured FTT carbonaceous 
matter, it is not known if this process would also generate significant amounts of 
aromatic enol and ketone functional groups, as observed in the Precambrian kero-
gen and kerogen-like samples. However, these hypothesized processes have yet to 
be tested experimentally. Since the maturation of biological material into kerogen 
is relatively well known, the most parsimonious explanation of the sub-mm TEM 
and STXM characterization of Apex and Strelley Pool carbonaceous matter is that 
they represent the degraded remains of Archean microorganisms.

4.5  Controversy Surrounding the Apex Microfossils

Until 2002, microbe-like features discovered within the 3.458–3.465 Ga Apex 
Basalt cherts were hailed as the most ancient microfossils on Earth. Eleven distinct 
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filamentous microfossil taxa have been described based upon morphological 
characteristics (Schopf 1992, 1993). The microbe-like features resemble prokary-
ote trichromes, averaging 3 mm in diameter and 30–80 mm, with limited size 
ranges for each taxon. Individual filaments contain regularly sized, septate medial 
cells and apparent terminal cells (Schopf 1992), although fine cellular features are 
not preserved. Their morphological similarity to modern cyanobacteria led to the 
conclusion that oxygen producing photoautotrophic organisms existed as far back 
as 3.5 Ga. In addition, bulk rock analyses of carbon within the chert yielded a light 
d13C isotopic signature ranging from −22‰ to −30‰ (Brasier et al. 2002; Strauss 
and Moore 1992), which is typical for photoautotrophic microorganisms 
(Schidlowski 1988) and consistent with well-accepted Proterozoic microfossils, 
such as those from the 850 Ma Bitter Springs Formation in Central Australia 
(House et al. 2000).

However, concerns were eventually raised regarding the biogenicity of the Apex 
microfossils. Reexamination of several of the holotype thin sections using auto-
mated imaging software revealed that many microbe-like features contain addi-
tional branched and twisted portions that appears out of focus or inconspicuous in 
the original, manually-acquired images (Brasier et al. 2002). Furthermore, only 
around 40% of all the putative microfossils are contained within primary chert 
fabrics (Brasier et al. 2002, 2005). Brasier et al. (2005) suggested that much of the 
sinuous and arcuate nature of the features may be generated by adsorption to silica 
spherules during chert formation, and that the apparent septation and seemingly 
cellular morphology may be mimicked by hydrocarbon adsorption around indi-
vidual calcite rhombs, later replaced by silica. Alternatively, a microbe-like mor-
phology could be abiotically created by sequestration of carbonaceous matter 
within aggregates of silica-witherite crystallites (García-Ruiz et al. 2003). 
Proponents of the biogenic interpretation for the Apex microfossils suggest that 
since the region has experienced some metamorphism, any bona fide microfossils 
could have been severely altered, leaving only a generic cellular morphology, simi-
lar to degraded filamentous microfossils in hydrothermally altered Silurian cherts 
from the Bardo Mountains in Poland (Kaźmierczak and Kremer 2002). By admis-
sion, less than 1% of the Apex microbe-like features are well preserved and mor-
phologically complete for taxonomic description (Schopf 1993).

Subsequent field mapping of the chert outcrop at Chinaman Creek has also led 
to implications against the biogenicity of the putative Apex microfossils. Although 
briefly mentioned in previous reports, the Apex chert includes two intersecting 
chert units, only one of which is conformable with the Apex Basalt flows (Brasier 
et al. 2002, 2005; Van Kranendonk 2006). The parallel chert unit is a gray, cross-
bedded stratiform chert that most likely formed in a shallow sea environment. The 
second chert unit is a brecciated siliceous dike cross-cutting the Apex pillow basalts 
for approximately 1 km along a local fault zone before merging with the stratiform 
chert. It is within the dike chert and not the stratiform chert that the putative micro-
fossils were recovered. Although the stratiform chert is discontinuous due to fault-
ing, its stratigraphic position throughout the area is relatively constant.
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The black chert dike most likely represents a relic hydrothermal vent, driven by 
a coeval granitoid pluton, that deposited the stratiform chert on the ancient Archean 
seafloor (Brasier et al. 2002, 2005). Swarms of chert dikes associated with bedded 
chert units are present elsewhere in the Pilbara Supergroup (Ueno et al. 2004; Van 
Kranendonk 2006) and can be correlated with the activity of granitoid complexes 
(Lindsay et al. 2005). The multiple brecciation events apparent in hand samples and 
thin sections of Apex chert (Fig. 24) could have been caused by multiple injections 
of hydrothermal fluids (Jébrak 1997) or regional deformation while the hydrother-
mal system was still active (Van Kranendonk 2006). Recrystallization and coarsening 
of the dike chert must have occurred during regional metamorphism because the 
d18O isotopic composition of +13.7‰ to +14.7‰ is consistent with a paleotempera-
ture of 250–350°C for prehnite-pumpellyite metamorphic fluids (Brasier et al. 
2002; Smith et al. 1982).

The implication of a hydrothermal origin for the carbon-rich dike chert is that 
the microbe-like features within it may not be of biogenic origin. Although phylo-
genetic studies using ribosomal RNA indicate that hyperthermophiles lie at the root 
of the genetic tree of life (Stetter 2006; Woese et al. 1990), modern hyperthermo-
philes have always been observed residing at the periphery of hydrothermal springs, 
never inside them where the fluid temperature is too high. Rather, an abiotic organic 
synthesis such as Fischer-Tropsch-type (FTT) reactions could explain the presence 
of carbonaceous matter preserved within an ancient hydrothermal vent (Brasier 
et al. 2002). In an attempt to characterize the macromolecular structure of the Apex 
carbonaceous matter, both Schopf et al. (2002, 2007) and Brasier et al. (2002) per-
formed in situ laser Raman spectroscopy. They observed both G (ordered) and D 
(disordered) peaks consistent with low maturity kerogen and many other disordered 

Fig. 24 Thin section of brecciated Apex chert from the putative microfossil locality at Chinaman 
Creek. At least five major generations of chert precipitation, veining, and fissure fill are visible. 
The glass slide is approximately 1″ × 2″
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carbonaceous materials (Pasteris and Wopenka 2003), but the original researchers 
interpreted their results as evidence of “graphitized kerogen” (Schopf et al. 2002) 
and “amorphous graphite” (Brasier et al. 2002). Further bulk organic analyses 
(Derenne et al. 2008) and high resolution transmission electron microscopy (De 
Gregorio and Sharp 2006) of Apex carbonaceous matter confirm that it is most 
consistent with an amorphous macrostructure composed of aromatic and aliphatic 
domains, similar to low maturity kerogen.

4.6  Controversy Surrounding the Strelley Pool Stromatolites

Like the putative Apex microfossils, the stromatolite-like structures within the 
3.350–3.458 Ga Strelley Pool Chert have also undergone intense debate regarding 
their biogenicity. The Conophyton-like structures are limited to the cherty lower 
member of the Strelley Pool Chert, consisting of finely laminated alternating gray 
chert, black carbonaceous chert, and dark gray carbonate-rich chert, in many cases 
grading laterally into one another (Lindsay et al. 2005; Lowe 1980). The lower 
member also includes silicified evaporitic facies, indicating deposition in a low 
energy, subtidal or intertidal environment, such as a restricted coastal lagoon (Lowe 
1980, 1994). This paleoenvironment would have been favorable for mat-building 
phototrophic organisms.

The biogenicity of the Strelley Pool stomatolites has been contested on several 
accounts since they were first reported (Lowe 1980). They lack explicit microfossil 
remains or a well-defined axial zone common to Conophyton group stromatolites 
(Lowe 1994). Some researchers have argued that the laminae are smooth, isopac-
hous and continuous between the structures (Lindsay et al. 2005; Lowe 1994), 
implying low sedimentation and chemical precipitation rates, where the abiotic 
formation of conical structures may be possible (Grotzinger and Rothman 1996). 
Other researchers dispute this claim, identifying stromatolitic structures with crenu-
lated and corrugated laminae, thinning non-isopachous laminae, and morphometric 
diversity correlating with depositional paleoenvironment (Allwood et al. 2006a, 
2007). Finely laminated corrugations and wrinkle structures may be produced abi-
otically during the hardening of a colloidal siliceous ooze (McLoughlin et al. 2008), 
but many of the other biogenic features common to Strelley Pool stromatolites have 
not yet been reproduced experimentally (Grotzinger and Knoll 1999).

In at least one locality, the Strelley Pool Chert overlies a system of black, 
carbon-rich dike cherts, similar to those intersecting the Apex Basalt at Chinaman 
Creek, suggesting the possibility of hydrothermal controls on chert petrogenesis 
and stromatolite formation (Lindsay et al. 2005). The thermal source of the ancient 
hydrothermal vents was the nearby 3.47 Ga Carlindi granitoid complex. However, 
in general it appears that stromatolite abundance and diversity decreases in prox-
imity to hydrothermal activity (Allwood et al. 2007). The carbonaceous matter 
preserved within the black chert dikes has a d13C isotopic composition ranging from 
−26.9‰ to −34.9‰, similar to that of the Apex dikes (Lindsay et al. 2005). Laser 
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Raman spectroscopy, Fourier transform infrared spectroscopy, solid state 13C 
nuclear magnetic resonance spectroscopy, and pyrolysis gas chromatography-mass 
spectrometry of carbonaceous matter within the Strelley Pool dike chert indicate an 
amorphous structure composed of large, disordered polyaromatic domains, more 
similar to low maturity kerogen than fluid deposited graphite (Allwood et al. 
2006b; Marshall et al. 2007). Considering all the available evidence, a stronger case 
can be made for the biogenicity of the Strelley Pool stromatolites than for the Apex 
microfossils.

4.7  Archean Hydrothermal Microbial Communities

If the ancient carbonaceous matter preserved within the Apex and Strelley Pool 
dike cherts represents bona fide kerogen, then it is unclear why it should be pre-
served inside a relic hydrothermal vent, up to 1 km below the paleosurface, rather 
than within a bedded, sedimentary chert. Hyperthermophilic microorganisms could 
reside in microbial communities along the periphery of a hydrothermal spring, but 
the fluid temperatures within the vent would be too high for such microorganisms 
withstand. This necessarily requires transport of biogenic material into the vent. If 
primary productivity were high, then copious biogenic matter and deceased organ-
isms would be generated and may be deposited along the walls inside the ancient 
vent, driven against the net outward flux of fluid by gravitational settling. The brec-
ciated nature of the Apex dike chert indicates either motion along a local fault or 
cycles of fluid heating. As the temperature of hydrothermal fluids rises and falls, 
thermal expansion and contraction of siliceous sinter deposits may cause significant 
spallation and brecciation (Jébrak 1997). As the fluid temperature decreases, 
microorganisms may migrate inwards into the vent to access greater concentrations 
of nutrients.

It is also possible, although less likely, that biogenic material from a deeper sedi-
mentary unit was transported upwards through hydrothermal feeder dikes of the 
Apex Basalt and Strelley Pool Chert. However, no evidence of hydrocarbon source 
rocks has been observed stratigraphically beneath the Apex and Strelley Pool Chert 
units. Biogenic organic matter may be concentrated in hydrothermal veins by the 
circulation of hydrothermal fluids in the surrounding surface rocks. The organic 
matter may then be protected from further transport by silica deposition along the 
walls of the vent.

Much is still unknown about the habitat and metabolism of the earliest living 
species. This case study of Apex and Strelley Pool carbonaceous matter indicates 
that biogenic material from Archean microorganisms is preserved in ancient 
hydrothermal dikes, suggesting that the microorganisms associated with this 
kerogen were hyperthermophilic chemoautotrophs. Similar conclusions have 
been reached from studies of carbonaceous matter in black hydrothermal dike 
cherts penetrating the 3.458 Ga Dresser Formation (Glikson et al. 2008; Ueno 
et al. 2004).
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5  Summary

Generally, carbonaceous matter comprises only a small portion of Precambrian 
rocks but has the largest utility for assessing the biogenicity of putative microfossils 
and/or stromatolites in these units. Since biomolecules undergo a relatively specific 
pathway of thermal maturation into kerogen, the macrostructure, local bonding 
environment, and organic functional group diversity allow for comparisons with 
ancient carbonaceous matter of indeterminate origin. Common structural and 
chemical characteristics of kerogen–randomly oriented polyaromatic domains con-
nected by aliphatic hydrocarbon chains, enol (–OH) and ketone (–C=O) functional 
groups attached to aromatic moieties, prevalent carboxyl (–COOH) functional 
groups, and other biotic elements (e.g. N, S, and P) present in aromatic heterocycles–
should be observed in all biogenic carbonaceous matter. Scanning-transmission 
X-ray microscopy, and transmission electron microscopy are useful analytical tools 
for characterizing the structure and bonding of ancient carbonaceous matter at mm 
to sub-mm spatial scales relevant for in situ analyses. For example, in the case study 
of carbonaceous matter preserved in Archean Apex and Strelley Pool Cherts, cor-
related TEM and STXM were used to show the structural and chemical similarity 
between ~100 nm thick carbonaceous grain boundary films in these samples and 
kerogen from the microfossiliferous Gunflint Formation, implying that the Archean 
kerogen-like carbonaceous matter derived from early hyperthermophilic 
microorganisms.

Although characterization of the structure and bonding of ancient carbonaceous 
matter is useful for assessing the biogenicity of potential microfossils and stromato-
lites, it is a necessary but insufficient criterion (Pasteris and Wopenka 2003). The 
ubiquity of abiotic carbon reduction and FTT synthesis in Archean hydrothermal 
systems is undetermined, and the thermal maturation history of FTT carbonaceous 
products has not yet been established. Therefore, the macrostructure and composi-
tion of ancient FTT material potentially present in Archean sediments is not known. 
More experimental studies of FTT processes, catalysts, and organic products, as 
well as their alteration during burial, diagenesis, and metamorphism, is necessary 
in order to adequately assess the “abiogenicity” of Archean carbonaceous matter to 
the same degree we can attest to its biogenicity through comparison with kerogen.
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Abstract Carbon isotopes have been widely used as a tool to search for evidence 
of life in rocks from the early Earth. Many of the oldest rocks on Earth have been 
found to contain isotopically light reduced carbon, which many researchers have 
interpreted to have a biological origin. While light carbon isotopic compositions 
are consistent with biologically produced organic matter, alternative non-biological 
sources that might also explain the data have not been given thorough consider-
ation. A review of the isotopic composition of potential non-biological sources of 
reduced carbon to the early Earth indicates that many have light isotopic signatures 
that encompass the values found in ancient rocks, indicating that the reduced 
carbon in rocks from the early Archean could plausibly derive from non-biological 
sources. These observations indicate that the evidence for life provided by carbon 
isotopes remains far from conclusive, and additional criteria need to be applied 
before it can be convincingly determined whether the reduced carbon found in the 
oldest rocks on Earth has a biological or non-biological origin.

Keywords Biosignatures • Carbon isotopes • Origin of life • Archean

1  Introduction

Determination of the time when life first arose on our planet has been a major objec-
tive of earth scientists for more than a century, and has significant implications for 
understanding how and where life originated. In recent decades, research on the 
earliest evidence of life has focused on the oldest known rocks on Earth dating from 
the early Archean era, and particularly on ancient rocks from southern West 
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Greenland and Western Australia. In both cases, it has been argued that carbonaceous 
materials in the rocks provide persuasive evidence for a biological origin, indicating 
that advanced life had developed prior to 3.85 billion years ago (Ga) (e.g., Schopf 
and Packer 1987; Schidlowski 1988; Schopf 1993; Mojzsis et al. 1996).

Identification of evidence for life in rocks from the early Earth depends on the 
ability to recognize remnant vestiges of organisms that existed long ago or their meta-
bolic products, often referred to collectively as ‘biosignatures.’ The concept of a bio-
signature is predicated on the assumption that biological processes generate products 
with a limited and definable set of characteristics (Fig. 1). At the same time, purely 
abiotic processes produce their own defined set of characteristics. The challenge to 
scientists seeking to differentiate between biological and non-biological products in 
geologic samples is that there is often significant overlap in the characteristics of prod-
ucts generated by biotic and abiotic processes (Fig. 1). A further complicating factor 
in the search for evidence of past life in ancient rocks is that physical and chemical 
processes over time can transform both biological and non-biological products in ways 
that obscure differences that were originally present when they formed.

The origin of products that can be generated by either biological or non-biological 
processes is inherently ambiguous because the ultimate source of the product cannot 
be uniquely identified. As a consequence, only those products that can be demon-
strated to form exclusively through biological processes and that could not plausibly 
form by any non-biological process truly constitute biosignatures (Fig. 1). Conversely, 
products that can be uniquely attributed to non-biological processes to the exclusion 
of biological products can be identified as “abiosignatures.” Compounds that can 
form by either biological or non-biological processes can be consistent with either 
origin, but cannot be used to differentiate between these sources.

For some time, carbon isotopes have been employed as a primary tool to examine 
rocks from the early Earth for evidence of ancient life. Initial surveys of the carbon 
isotopic composition of natural samples established that biologically generated 
organic compounds are typically depleted in 13C relative to precursor carbon sources 
(e.g., Nier and Gulbransen 1939; Craig 1953a). Scientists soon seized on this obser-
vation to assert that isotopically light graphitic carbon found in ancient rocks could 
be attributed to a biogenic source (Wickman 1941; Wickman and von Ubisch 1951; 

Fig. 1 Schematic Venn diagram illustrating the concept of a biosignature (see text)
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Rankama 1948, 1954). One of the pioneers of the field, Harmon Craig, quickly 
responded to such claims with a caution against this use of carbon isotopes (Craig 
1953a, b, 1954). The crux of Craig’s argument was that one could not confidently 
assign a biologic origin to light carbon isotope values without eliminating the pos-
sibility that non-biological processes could produce the same isotopic signature. In 
other words, a biological source could only be established by demonstrating that the 
isotopic values fall outside the region of overlap between biological and non-biological 
sources (i.e., the “ambiguous” area depicted in Fig. 1). With regard to graphite in 
geologic deposits, Craig argued that there was insufficient data available at the time 
to eliminate the possibility that chemical precipitation of graphite from carbon-
bearing fluids could produce depletions in 13C comparable to those of biological 
processes, so it could not be confidently concluded that light isotopic values origi-
nated from biological sources. Similar arguments could be extended to consideration 
of other potential non-biological sources.

Despite the cautionary note struck by Craig, many scientists since that time have 
continued to claim that light carbon isotopic values in ancient rocks indicate a bio-
logical origin without persuasively demonstrating the implausibility of non-biological 
inputs. As Brasier et al. (2006) observed in reference to the search for the earliest 
evidence of life in the geologic record: “we have tended to rely too much upon 
evidence that is ‘consistent with’ microbial processes, without falsifying or rejecting 
(sensu Popper 1959) other possible non-biological scenarios that may likewise be 
consistent.” Nevertheless, rejecting alternative non-biological explanations is 
required to build a convincing case for evidence of early life.

In the intervening decades since Craig published his cautionary arguments, consid-
erable progress has been made in understanding the isotopic fractionation produced 
by many biological and non-biological processes, and the isotopic compositions of 
organic matter for a variety of potential contributing sources to the early Earth have 
been reported. While this knowledge remains far from complete, the data that have 
been acquired to date allow for more detailed evaluation of potential sources for 
reduced carbon in ancient rocks than was possible even a few years ago. This chapter 
provides a brief overview of current constraints on the isotopic compositions of the 
most likely sources of organic matter on the surface of the early Earth, and con-
siders the implications of these constraints for differentiating between biotic and 
abiotic contributions to the reduced carbon in ancient geologic deposits, focusing 
in particular on the oldest known rocks from southern West Greenland and Western 
Australia.

2  Sources of Reduced Carbon and Their Isotopic 
Compositions

This section provides a brief overview of current constraints on the carbon isotopic 
composition for a number of potential major contributors of organic matter to the 
early Earth. For brevity, only the most salient points are summarized here, and 
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the references cited below should be consulted for more detailed information. 
A compilation of the inferred ranges of isotopic compositions for these sources is 
shown in Fig. 2.

2.1  Biological Sources

Autotrophic organisms fix inorganic carbon into biomass that is composed pre-
dominantly of proteins, nucleic acids, saccharides, and lipids. Except for the lipids, 
these components tend to be highly labile and are generally decomposed prior to 
lithification of geologic sediments. As a consequence, biogenic organic matter 
preserved in geologic deposits is primarily derived from the lipid component of 
biomass. Through a series of thermal and chemical reactions, the original biolipids 
are transformed over time into kerogen, an insoluble, amorphous, high-molecular-
weight material composed of cross-linked aromatic and aliphatic components (see 
Hayes et al. 1983). If the deposits are exposed to especially prolonged heating or 
high temperatures, the kerogen becomes increasingly aromatic in nature, and may 
be gradually converted into the mineral graphite. In cases where these reactions 
have progressed to only a limited extent, structural information from the original 
biolipids may still remain, and can provide insight into the origin of the organic 
matter (Eigenbrode 2008). However, the oldest geologic deposits on Earth have 
experienced sufficient heating that any biomolecular structural information that was 
once present has been destroyed.

Fixation of inorganic carbon by most biological processes preferentially incor-
porates 12C relative to 13C, resulting in biomass that in most cases is significantly 
depleted in 13C compared to the original carbon source. For plants and other photo-
synthetic microorganisms, the magnitude of this fractionation relative to atmo-
spheric CO

2
 is −11‰ to −24‰ (Fig. 2). As a result, organic matter in recent 

sediments consistently has an average isotopic composition near −25‰, reflecting 
a predominant input from photosynthetic organic matter (Hayes et al. 1983; 
Schidlowski 1988). Heterotrophic organisms and autotrophic organisms employing 
alternative carbon fixation pathways can generate biomass with a much wider range 
of isotopic compositions (e.g., Schidlowski 1988; House et al. 2003) (Fig. 2), but 
the quantitative contribution from these organisms to sedimentary organic matter 
appears to minor, at least in recent eras.

Early diagenesis of bioorganic matter apparently produces a minor depletion of 
about 2‰ in the 13C content of organic matter, but further diagenesis and mild 
metamorphism does not appear to have an appreciable impact on the isotopic com-
position of organic matter in geologic deposits (Hayes et al. 1983). Consequently, 
organic matter in most geologic samples dominated by biological inputs has been 
found to have an isotopic composition around −27‰. High degrees of metamor-
phism at temperatures exceeding a few hundred degrees C and conversion of kero-
gen to graphite can result in 13C depletions of several permil or more in the 
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Fig. 2 Comparison of the isotopic compositions of reduced carbon in rocks from the early 
Archean with those of representative biological and non-biological sources of organic matter. Data 
sources: Akilia (Mojzsis et al. 1996); Isua Supracrustal Belt (Schidlowski et al. 1979; Rosing 
1999; Ueno et al. 2002; van Zuilen et al. 2002); Warrawoona Group (Strauss and Moore 1992; 
Ueno et al. 2004; Brasier et al. 2002); photosynthetic organisms (Schidlowski 1988); chemosyn-
thetic organisms (calculated from fractionation factors reported by House et al. 2003, assuming 
atmospheric CO

2
 as a carbon source); interplanetary dust particles (IDPs) (Messenger 2000; 

Messenger et al. 2003); comets (McKeegan et al. 2006); meteorites (Cronin and Chang 1993; 
Alexander et al. 1998; Sephton et al. 2003); mantle carbon (Deines 2002), and siderite decompo-
sition (van Zuilen et al. 2002, 2003). Carbon fixation pathways for chemoautotrophs include the 
reductive tricarboxylic acid cycle (TCA), Calvin cycle (Calvin), acetyl-CoA pathway (CoA), and 
3-hydroxypropionate cycle (3-HP). Limited data preclude accurate estimation of the isotopic 
compositions of organic matter produced by atmospheric processes and Fischer-Tropsch synthesis 
at the present time. Inverted triangles indicate approximate mean values
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remaining reduced carbon (Hayes et al. 1983; Schidlowski 1988; Ueno et al. 2002) 
produced by net loss of heavy carbon in the form of CO

2
 and isotope exchange with 

heavy inorganic reservoirs (carbonates) within the rocks.

2.2  Abiotic Sources

There are a number of different abiotic sources that could have potentially contributed 
significant amounts of organic matter to the early Earth. These include carbonaceous 
materials with both exogenous (meteorites, comets, interplanetary dust particles) 
and endogenous (atmosphere, fluid-rock reactions, etc.) origins. These sources are 
considered in separate sections below.

2.2.1  Exogenous Inputs

Many types of meteorites are relatively rich in organic compounds, and impacts of 
these meteorites can deliver this organic matter to the surface of the Earth. The 
chemical and isotopic composition of organic matter in meteorites is fairly well 
constrained by laboratory analysis of meteorite samples. Meteorites can contain up 
to several weight percent carbon, most of which (~70–99%) is present in the form 
of insoluble, amorphous, macromolecular organic material with a high aromatic 
content. The bulk isotopic composition of the insoluble material generally falls 
within the range of −10‰ to −20‰ (Cronin and Chang 1993; Alexander et al. 
1998; Sephton et al. 2003). In addition, some meteorites, particularly the carbona-
ceous chondrites, may contain up to ~30 wt% of soluble organic compounds, 
including aliphatic hydrocarbons, free aromatic compounds, and amino acids. In 
most cases, these compounds have heavier isotopic compositions than the bulk 
macromolecular material, with values as high as +40‰ reported for amino acids in 
the Murchison meteorite (Cronin and Chang 1993; Pizzarello et al. 1991; 
Krishnamurthy et al. 1992). These heavy soluble compounds, however, seem less 
likely to be incorporated into geologic deposits than the macromolecular carbon, 
both because they may be transported out of sedimentary deposits and because they 
are more likely to be degraded by biological or chemical processes.

Impacts of comets would also have contributed organic compounds to the early 
Earth, (Chyba et al., 1990) but the structural and isotopic composition of the 
organic matter in comets is generally less well defined than that of meteorites owing 
to the scarcity of primary materials available for laboratory analysis. While terres-
trial spectroscopic studies and spacecraft fly-bys have contributed to the character-
ization of cometary organic matter, the most direct evidence for its composition comes 
from recent analyses of cometary particles returned from comet 81P/Wild 2 by the 
Stardust mission (Sandford et al. 2006; Sandford 2008). Analyses of these particles 
indicates that the carbonaceous fraction contains abundant polycyclic aromatic 
hydrocarbons (PAH), but also includes aliphatic moieties and functional groups 
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containing O and N, such as amines and carboxylic acids (Sandford 2008; Cody 
et al. 2008). Overall, the carbonaceous matter includes a smaller fraction of aro-
matic compounds and higher O/C and N/C ratios than meteoritic organic matter. 
Reported isotopic compositions of bulk carbon in the comet particles fall in the 
range of −20‰ to −50‰ (McKeegan et al. 2006), but isotopic compositions of the 
different carbon reservoirs represented by this bulk value are not yet available.

In addition to larger impacts of comets and meteorites, the surface of the Earth 
has been subject to a continuous infall of small interplanetary dust particles (IDPs) 
throughout its history. The IDPs contain a substantial fraction of organic matter; for 
example, one study found an average carbon content of ~12% in a suite of IDPs 
(Thomas et al. 1993). The carbonaceous matter is apparently dominated by an 
assortment of polycyclic aromatic hydrocarbons (PAH), but aliphatic compounds 
are also present (Sandford 2008, and references therein). Bulk carbon isotopic 
compositions of individual IDPs exhibit a wide range of values from −70‰ to 
+10‰, with an average composition around −35‰ to −40‰ (Messenger 2000; 
Messenger et al. 2003). Presumably, these values represent mostly organic carbon, 
but the isotopic compositions of individual carbon phases within IDPs have not yet 
been reported.

Estimates of the fluxes of organic matter to the surface of the early Earth from 
exogenous sources require a number of assumptions and extrapolations that impart 
a great deal of uncertainty to the results. However, estimates indicate that IDPs are 
likely to be the largest exogenous source of organic carbon, with estimated fluxes 
to the early Earth on the order of 104–107 kg C per year (Chyba and Sagan 1992; 
Pasek and Lauretta 2008). Input of organic matter from comets and meteorites 
would apparently have been 2–3 orders of magnitude lower. However, fluxes from 
all of these sources would have increased by several orders of magnitude during the 
Late Heavy Bombardment (LHB) between 3.8 and 4 Ga. During the LHB, fluxes 
of organic carbon have been estimated to be about 109 kg per year from IDPs and 
105 from carbonaceous chondrites, which is equivalent to ~10 kg per km2 per year 
of organic C if distributed evenly around the surface of the Earth (Pasek and 
Lauretta 2008). For comparison, the flux of organic matter that is buried in recent 
sediments is on the order of 1011 kg per year (Hayes et al. 1983; Berner 2003), sug-
gesting that exogenous fluxes of organic matter in the Archean would have repre-
sented only a small fraction of the material being incorporated into modern 
sediments. While these relatively low fluxes might preclude the formation of 
organic-rich sediments comparable to those forming in recent eras, they would not 
prevent the possibility that exogenous organic matter may have accumulated in 
surface sediments over time in sufficient quantities to account for the trace amounts 
of reduced carbon present in ancient rocks.

Of course, organic matter from IDPs would have been distributed globally while 
that from cometary and meteoritic impacts may have been concentrated in regions 
adjacent to the impact, which may have affected the potential for accumulation and 
preservation in sediments. Another consideration with regard to the incorporation of 
exogenous organic matter into geologic deposits on the early Earth is preservation. On 
the modern Earth, organic matter exposed at the surface is degraded on relatively short 
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time scales, predominantly by biological processes. On the early Earth, however, the 
lack of oxidants would have allowed organic matter delivered from exogenous sources 
to persist for much longer periods. As a consequence, there may have been a greater 
potential for transport and accumulation of organic matter in surficial sediments.

2.2.2  Endogenous Inputs

Atmospheric processes have long been considered as a potential source of organic 
matter on the early Earth, particularly with regard to the formation of prebiotic 
compounds that may have contributed to the origin of life (Chang et al. 1983). 
Laboratory experiments designed to examine the synthesis of organic compounds 
from lightning and other energetic atmospheric processes have produced an assort-
ment of organic compounds, as well as high-molecular-weight insoluble organic 
residues (e.g., Miller 1953; Chang et al. 1983). Very few studies have reported the 
isotopic composition of these compounds (see Horita 2005). In one spark discharge 
experiment using pure CH

4
 gas as a carbon source, however, light hydrocarbons 

formed during the experiment were depleted in 13C by 10–25‰ relative to CH
4
, 

with the extent of fractionation increasing with increasing molecular size (Chang 
et al. 1983). Similarly, Des Marais et al. (1981) found light hydrocarbons produced 
by energetic discharges in CH

4
 gas to be depleted by 11–14‰ relative to the initial 

methane. In a spark discharge experiment with a CH
4
–NH

3
 gas mixture, insoluble 

organic matter was found to be depleted by ~10‰ relative to CH
4
, but amino acids 

were depleted by as much as 20‰ (Chang et al. 1983). While all of these results 
indicate depletions relative to CH

4
 for organic matter produced by lightning and 

high energy atmospheric processes, uncertainties in the abundance and isotopic 
composition of atmospheric CH

4
 on the early Earth make it difficult to use the 

results to constrain the isotopic composition of organic matter reaching the surface 
from this source.

In addition to these high energy inputs, if the atmosphere of the early Earth had 
CH

4
/CO

2
 ratios ³ ~1, photochemical reactions involving CH

4
 may have produced 

organic hazes that contributed to accumulations of organic matter on the planet’s 
surface (Pavlov et al. 2001). Methane has been proposed as a greenhouse gas on the 
early Earth, and potential sources include both geologic processes such as serpen-
tinization and biologic inputs from methanogenic organisms, once these organisms 
evolved. Chang et al. (1983) measured the isotopic compositions of hydrocarbons 
up to C

6
 formed during UV irradiation of CH

4
-bearing gases, and reported that the 

products were depleted in 13C by up to 11‰ relative to the starting CH
4
. The 

amount of the fractionation increased with number of carbon in the products, and 
presumably the magnitude of the fractionation might continue to increase as the 
size of the molecules increases to form condensable molecules (Pavlov et al. 2001). 
Again, it is difficult to use these measurements to infer constraints on the overall 
isotopic composition of organic matter delivered to the surface from photochemical 
hazes on the early Earth owing to uncertainties in the isotopic composition of CH

4
 

in the Archean atmosphere. However, it appears likely that such organic matter 
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would be strongly depleted in 13C relative to inorganic carbon present in the 
atmosphere and ocean at the time.

Reduced carbon compounds would also have been produced within the solid part 
of the planet on the early Earth. Owing to the oxidation state of the mantle, carbon 
in volcanic gases exsolving from mantle melts is predominantly in the form of CO

2
, 

with only minor amounts of reduced species (e.g., Mathez 1984; Kelley 1996). 
Nevertheless, mantle rocks that have been displaced to the surface by tectonic or 
volcanic processes contain small amounts of graphite and, in some cases, trace con-
centrations of organic compounds (see review by Deines 2002). Bulk carbon isotope 
measurements of mantle rocks exhibit a bimodal distribution with peaks at −5‰ and 
−25‰, although the isotopic compositions of different carbon forms represented by 
these bulk values are not known (Deines 2002). Erosion of mantle rocks could 
potentially have contributed reduced carbon to surface sediments on the early Earth, 
although it is unclear whether mantle rocks would have been sufficiently widespread 
to make a large contribution to global reservoirs of reduced carbon.

Fluid-rock reactions within the crust can result in conditions that are more 
strongly reducing than those prevailing in the mantle, and lower crustal tempera-
tures also favor the thermodynamic stability of organic matter relative to CO

2
 (see 

McCollom 2008). As a result, CO
2
 from mantle fluids or in circulating hydrother-

mal fluids can potentially be reduced to organic matter within the Earth’s crust. 
Within terrestrial geologic systems, the most widely invoked reaction for the forma-
tion of abiotic organic matter from CO

2
 is Fischer-Tropsch-type synthesis (FTS) 

(McCollom and Seewald 2007). Fischer-Tropsch synthesis is a surface-catalyzed 
process for the reduction of simple inorganic carbon sources (CO

2
 and CO) to 

organic compounds through reaction with H
2
, and products range from CH

4
 and 

other volatile light hydrocarbons to high-molecular-weight aliphatic precipitates 
(“wax”). Fischer-Tropsch-type synthesis has been invoked as a source of abiotic 
compounds in variety of geologic settings including volcanic fumaroles, hydrother-
mal vent fluids, serpentinites, and crystalline rocks (e.g., Abrajano et al. 1990; 
Sherwood Lollar et al. 1993, 2002, 2006, 2008; Salvi and Williams-Jones 1997, 
2006; Kelley and Früh-Green 1999; Charlou et al. 2002; Kelley et al. 2005; Fiebig 
et al. 2007; Proskurowksi et al. 2008).

While FTS has been extensively studied owing to its use in industrial applications, 
very few of these studies have reported the isotopic compositions of reaction 
products (see recent reviews by Horita 2005; McCollom and Seewald 2007). 
Experimental studies of isotopic fractionation during FTS have examined only a 
small fraction of the range of conditions under which the reaction may proceed in 
geologic systems, but several significant trends have become apparent. In particu-
lar, all studies to date have generated non-volatile hydrocarbons that are substan-
tially depleted in 13C relative to their inorganic precursors (which is CO or HCOOH 
in most laboratory experiments). The magnitude of the fractionation is variable 
depending on experimental conditions, but reported depletions predominantly fall 
in the range of 16–33‰ (e.g., Lancet and Anders 1970; McCollom and Seewald 
2006; Taran et al. 2007). Because these experimental values represent fractionation 
relative to CO and the isotopic composition of CO has rarely been reported for the 
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relevant geologic systems, it is difficult to use the observed fractionations to predict 
the absolute isotopic compositions of organic matter that might be generated from 
reduction of CO

2
 in natural systems. However, it is apparent that FTS can generate 

organic matter that is strongly depleted in 13C relative to inorganic carbon, and can 
potentially produce reduced carbon with isotopic compositions that overlap the 
13C-depleted isotopic compositions of biologically produced organic compounds 
(McCollom and Seewald 2006).

In a related process, Horita and Berndt (1999) studied the reduction of CO
2
 to CH

4
 

catalyzed by NiFe-alloy under hydrothermal conditions. NiFe-alloys are fairly com-
mon products of the hydrothermal alteration of ultramafic rocks, which may have 
been relatively more widespread in near-surface environments on the early Earth than 
they are today. The CH

4
 generated was depleted in 13C by up to 49‰ at 200°C and 

29‰ at 300°C, relative to the initial CO
2
. Of course, further processing would be 

required to convert the CH
4
 produced in these experiments to non-volatile organic 

matter that might accumulate in geologic deposits, but the results provide further 
evidence that abiotic reactions can produce strongly 13C-depleted reduced carbon.

Methane and other volatile hydrocarbons that likely formed by FTS or other 
abiotic reactions within the Earth’s crust have recently been documented in a number 
of geologic samples, including fluids within crystalline rocks and marine hydrother-
mal systems (e.g., Charlou et al. 2002; Fiebig et al. 2007; Proskurowksi et al. 2008; 
Sherwood Lollar et al. 2008; McCollom 2008, and references therein). Measured 
carbon isotopic compositions for these hydrocarbon gases range from −5‰ to 
−45‰. Presumably, the processes that formed these volatile compounds might also 
produce less volatile products that could accumulate as condensed organic matter in 
geologic deposits, but non-volatile compounds with a demonstrably abiotic origin 
have not yet been identified, and it remains uncertain whether the isotopic composi-
tions of the volatile gases is representative of less volatile compounds that might be 
created in the same environment. However, recent experimental studies suggest that 
FTS produces non-volatile products with an isotopic composition close to that of the 
light hydrocarbons (McCollom and Seewald 2006; Taran et al. 2007).

Another proposed source of reduced carbon in ancient rocks is the thermal decom-
position of carbonate minerals during metamorphism. For example, the co-occurrence 
of graphite particles together with the minerals siderite and magnetite in some ~3.8 Ga 
rocks from the Isua Supracrsutal Belt (ISB) in Greenland has been attributed to ther-
mal decomposition of siderite, which can be represented by the reaction:

→ + +3 3 4 26FeCO 2Fe O  5CO  C

siderite magnetite graphite

(Perry and Ahmad 1977; van Zuilen et al. 2002, 2003). Laboratory experiments 
have confirmed that thermal decomposition of siderite generates highly aromatic 
organic matter (McCollom 2003), but the isotopic fractionation of this process has not 
yet been investigated experimentally. Graphite particles associated with carbonates 
at Isua have isotopic compositions in the range of −9‰ to −16‰ and are depleted 
in 13C by 6–10‰ relative to the co-existing carbonate minerals, which is similar to 
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the inferred isotopic equilibrium between these phases at 500°C (Perry and Ahmad 
1977; van Zuilen et al. 2002, 2003). Whether the isotopic compositions actually 
reflect equilibrium and whether such values are representative of other reaction 
conditions requires further research.

3  Carbon Isotopes and the Early Geologic Record

Two requirements must be met in order to confidently assign a biological origin to 
reduced carbon in rocks from the early Earth (Craig 1953a, b, 1954; Brasier et al. 
2006). First, it must be shown that the characteristics of the carbonaceous deposits 
are consistent with a biological source. Second, it must also be demonstrated that 
the deposits are highly unlikely to form by any plausible non-biological mecha-
nism. In the case of carbon isotopes, the observations summarized in the previous 
section indicate that clear differentiation between biological and non-biological 
sources of carbonaceous matter on the basis of isotopic composition may be prob-
lematic. In particular, it is evident that there is considerable overlap between the 
isotopic composition of organic matter produced by biological processes and that 
of a number of potential non-biological sources of reduced carbon (Fig. 2). In the 
remainder of this section, the implications of these considerations in interpretation 
of the earliest proposed evidence for life in the geologic record are discussed.

3.1  Isotopic Composition of Organic Matter Through Time

The isotopic composition of carbon in geologic samples exhibits a remarkable 
consistency throughout the history of the Earth, extending back to the most ancient 
rocks (Fig. 3). The isotopic composition of inorganic carbon, in the form of carbon-
ate minerals, varies by only a few per mil around 0‰, suggesting that the isotopic 
composition of seawater has remained essentially constant for at least the last 3.5 Ga 
(Hayes et al. 1983; Schidlowski 1988). Over the same period, reduced carbon is 
consistently depleted by about 25–30‰ in 13C relative to the carbonates, with few 
exceptions. Graphitic carbon in rocks older than ~3.7 Ga from southern Greenland 
deviate from this trend, but still have isotopic compositions that are significantly 
depleted in 13C relative to coexisting carbonates. Another notable departure in the 
historic record occurs at around 2.7 Ga where organic matter has anomalously light 
isotopic values. The cause of this excursion is uncertain, but appears to be attributable 
to recycling of CH

4
 by methanotrophic organisms (Hayes et al. 1983).

The magnitude of the fractionation between inorganic and organic carbon present 
in most of the historic record is similar to that observed in modern sediments, where 
the isotopic composition is dominated by input from photosynthetic organic matter. 
One logical hypothesis to explain the historic record, therefore, is that the same 
processes that dominate sedimentary organic inputs today have prevailed throughout 
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the geologic record to at least 3.5 Ga (e.g., Hayes et al. 1983; Schidlowski 1988). 
Since organic carbon in modern sediments is largely attributable to input of organic 
matter produced through carbon fixation by photosynthetic organisms, this would 
imply that biological sources, and possibly photosynthetic organisms, have domi-
nated organic matter contributions to geologic deposits for the last 3.5 billion years, 
and maybe longer. Of course, this hypothesis would not preclude the possibility that 
some local deposits might contain reduced carbon from non-biological sources, but, 
overall, a predominance of biological inputs is inferred in this hypothesis.

The isotopic composition of organic matter through most of the historic record 
is certainly consistent with the composition expected for biological organic matter 
based on measurements of modern sediments with an unquestionable biological 
origin. For the most ancient rocks, however, it remains uncertain whether this is a 
unique interpretation for the isotopic trends, or whether the isotopic composition 
could also be explained by contributions from non-biological sources that produce 
a similar isotopic signature. In many relatively recent deposits, isotopically light 
reduced carbon is accompanied by ancillary indicators of biogenicity such as cellular 
structures and organic molecular biosignatures that support the isotopic interpreta-
tion of a biological origin for the carbon (Summons et al. 2008). Such supporting 
evidence is commonly missing or equivocal in the most ancient deposits (older than 
3 Ga or so), either because it was never there or because it has been removed by 
subsequent geologic processes.

On the modern Earth, the contribution of organic matter from non-biological 
sources represents only a very small fraction of the flux of organic compounds from 
biological sources, although there may be instances where non-biological compounds 

500
– 60

– 40

– 20

0 Inorganic carbon

1500 2500

Age (Ma)

δ1
3 C

 (
‰

)

3500

Fig. 3 Isotopic composition of reduced carbon in geologic deposits through Earth’s early history. 
Data for relatively recent deposits (black diamonds) are from a compilation by Hayes et al. (1983), 
and are representative of a much more extensive data set. Open circles represent data from the 
Warrawoona Group, Australia (Strauss and Moore 1992; Ueno et al. 2004; Brasier et al. 2002), 
filled triangles are data from the Isua Supracrustal Belt, Greenland (Schidlowski et al. 1979; 
Rosing 1999; Ueno et al. 2002; van Zuilen et al. 2002), and empty squares are data for Akilia 
Island, Greenland (Mojzsis et al. 1996)
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predominate locally (e.g., Proskurowksi et al. 2008). It is likely, however, that the 
relative contribution of non-biological sources was much more significant in Earth’s 
early history, both because the fluxes from non-biological sources were likely much 
larger in the past (e.g., Chyba and Sagan 1992; Pasek and Lauretta 2008) and because 
the flux of organic compounds from biological carbon fixation was presumably 
lower. Indeed, prior to the origin of life, non-biological sources would have provided 
the only inputs to organic matter.

Inevitably, there was some point in Earth’s history when a transition occurred 
between non-biologically dominated organic fluxes and biologically dominated fluxes. 
However, the time of this transition and whether it is preserved in the geologic record 
are not yet clear. Nevertheless, it appears possible that this transition could have 
occurred within the time period spanned by the oldest rocks in the geologic record, and 
that these rocks may document a time when non-biological sources represented a 
significant fraction, or even dominated, fluxes of organic matter to the Earth’s surface. 
This would require that non-biological sources of organic matter to have isotopic com-
positions similar to those observed in ancient rocks, but the constraints outlined in the 
previous section seem to allow this possibility.

3.2  Reduced Carbon in Rocks from Southwest Greenland

The oldest sediments deposited at the surface of the Earth that have so far been 
identified in the geologic record are found in southern West Greenland, including 
outcrops in the Isua Supracrustal Belt (ISB) dated at 3.7–3.8 Ga and slightly older 
rocks (~3.85 Ga) on Akilia Island. Graphite particles within these rocks are observed 
to have 13C-depleted isotopic compositions, which has led a number of authors to 
confidently assert that the carbon is a remnant of biological organic matter deposited 
contemporaneously with the enclosing rocks (e.g., Schidlowski et al. 1979; 
Schidlowski 1988, 2001; Mojzsis et al. 1996; Rosing 1999). If these claims are 
accurate, the graphite deposits would represent the oldest known traces of life, and 
establish that life on Earth had evolved prior to 3.85 Ga.

Because the rocks at Isua and Akilia have been subjected to extensive metamor-
phism, structural features or other evidence that might buttress a biological inter-
pretation would have been obliterated long ago. As a consequence, the isotopic 
composition of reduced carbon is essentially the only evidence that has been provided 
to support a biological interpretation. Isotopic compositions of reduced carbon from 
Isua range from about 0‰ to −27‰, with an average around −12‰ (Fig. 3). While 
these values are generally heavier than those found in younger deposits that have 
been attributed to biological sources, it has been inferred that the current isotopic 
compositions of reduced carbon in rocks from this locality have been reset from 
substantially lighter values during metamorphism (Schidlowski et al. 1979; 
Schidlowski 1988; Rosing 1999; Ueno et al. 2002; but see Naraoka et al. 1996, 
for a dissenting opinion). Isotopic compositions of graphite in rocks from Akilia 
range from −20‰ to −50‰ with an average near −37‰ (Mojzsis et al. 1996). 
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The rocks at Akilia have also been subjected to metamorphism, but closed system 
conditions during metamorphism may have precluded the type of isotopic alteration 
proposed to have occurred in rocks from Isua.

The isotopic compositions of graphite at Akilia as well as the presumed pre-
metamorphic compositions of reduced carbon at Isua are both consistent with the 
values observed for biologically generated organic carbon (Figs. 2 and 3). However, 
the attribution of carbonaceous deposits from these sites to a biological origin pre-
sumes that non-biological sources could not plausibly account for the observed 
isotopic values. But the publications claiming a biological origin for the deposits 
give only very limited consideration to alternative non-biological interpretations and 
their arguments are unconvincing, particularly in light of additional constraints that 
have become available since the original claims were made.

For example, Schidlowski (1988) concluded that alternatives to a biological inter-
pretation for graphite at Isua could be “safely dismissed”, but considered only poten-
tial non-biological inputs from Fischer-Tropsch synthesis and atmospheric discharges. 
Fischer-Tropsch synthesis was rejected as a possible source based on a presumed 
fractionation of −50‰ to −100‰ for the process. Although the work of Lancet and 
Anders (1970) is cited as the source of these values, the values quoted by Schidlowski 
(1988) are actually much larger than the fractionations between the carbon source 
and organic products reported by those authors (see above). Furthermore, the more 
recent studies summarized above indicate much lower fractionations are likely to 
prevail during abiotic organic synthesis in natural geologic systems. Energetic dis-
charges in the atmosphere were also rejected as a possible source even though the 
experimental data available at the time (Chang et al. 1983) encompass most of the 
reported isotopic measurements for graphite at Isua. Instead, atmospheric inputs 
were excluded as a source of the relatively heavy isotope compositions measured at 
Isua because the absence of similar heavy isotopic signatures in younger deposits 
implied that atmospheric inputs were insignificant. Such reasoning, however, is 
inherently flawed, since it presumes carbon inputs at Isua can be judged by deposits 
that formed hundreds of millions of years later at other localities. Schidlowski 
(1988) did not consider the possibility of contributions from exogenous sources.

Similarly, Mojzsis et al. (1996) concluded that “no known abiotic process can 
explain” the isotopic compositions of graphite particles at Akilia, but they consid-
ered only a very limited scope of possible non-biological contributors. Mojzsis and 
colleagues rejected possible inputs of organic matter from energetic discharges in 
the atmosphere and from meteorites because they claim that reduced carbon from 
these sources would be too heavy to account for the extent of 13C depletions 
observed in the rocks at Akilia. This argument, however, is insufficient to dismiss 
the possibility of a non-biological origin for the graphitic carbon, for two reasons. 
First, Mojzsis et al. quote a value of −10‰ to represent organic matter produced by 
atmospheric discharges, citing the experimental results of Chang et al. (1983). But, 
the isotopic compositions of organic products in those experiments are dependent 
on the isotopic composition of the CH

4
 gas used, and the value quoted refers to 

experimental results obtained using CH
4
 with a composition of 0‰. In other experi-

ments using lighter initial CH
4
 compositions, organic compounds with significantly 
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lighter isotopic compositions (to £50‰) were produced. Since the isotopic 
composition of CH

4
 in the early atmosphere is unknown, a value of −10‰ cannot 

be assumed to be an accurate representation of organic matter from atmospheric 
sources on the early Earth. Second, while organic carbon from meteorites may 
indeed be too heavy to account for the graphite observed at Akilia, other exogenous 
sources (comets, IDPs) have organic matter with isotopic compositions that clearly 
overlap the range of values observed at Akilia, and endogenous sources (e.g., pho-
tochemical reactions, Fischer-Tropsch synthesis) also appear capable of producing 
organic matter with 13C-depleted isotopic compositions in this same range.

Mojzsis et al. (1996) also presented model calculations examining whether open 
system degassing from an original reduced carbon source with an isotopic composi-
tion ³ −10‰ (their presumed lower limit for non-biological sources) could account 
for the isotopically light graphite observed, and concluded that an unrealistically 
large fraction of the original carbon would have to be removed to account for the 
observed isotopic compositions. However, their model calculations contained 
errors, and more appropriate models indicate that the observed compositions could 
be achieved with plausible fractions of degassing (Eiler et al. 1997). Furthermore, 
if such models are expanded to allow for initial carbon values reflective of lighter 
carbon sources such as meteorites, the observed range of isotopic values can be 
accounted for with relatively small fractions of degassing. Consequently, such pro-
cesses cannot be dismissed as a potential contributor to the isotopic compositions 
of graphite at Akilia.

In contrast to the conclusions of these and other studies, there appear to be several 
non-biological sources that could plausibly account for the isotopic compositions 
of graphite from Akilia and from Isua, whether one considers the current isotopic 
values or the presumed lighter pre-metamorphic compositions (Fig. 2). This suggests 
that the confidence with which the graphite in the early Archean rocks from 
Greenland has been attributed to a biological source is unjustified, and that more 
serious consideration needs to be given to the possibility that the graphite in these 
rocks might include substantial contributions from non-biological sources. At the 
very least, a convincing attribution of the graphite to biological sources requires 
more convincing demonstration that non-biological sources cannot account for the 
isotopic compositions.

3.3  Carbon Isotopes and Putative Microfossils  
in the Warrawoona Group

Rocks from the ~3.45 Ga Apex Chert and adjacent formations within the Warrawoona 
Group of Western Australia have been proposed to contain the oldest fossil traces of 
life on Earth (Schopf and Packer 1987; Schopf 1993). The proposed fossil evidence 
consists of microscopic carbonaceous particles whose structures resemble remnants 
of cyanobacteria preserved in more recent sediments. The isotopic compositions 
of these carbonaceous materials cluster within a few permil of −33‰ (Fig. 3). 
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In contrast to the rocks from Greenland where carbon isotopic composition is the 
primary evidence cited to support a biological origin, the interpretation of a biologi-
cal origin for the carbonaceous deposits in the Warrawoona Group is primarily 
based on their morphology and inferred geologic setting, with the isotopic measure-
ments employed to support this interpretation (Schopf and Packer 1987; Schopf 
1993). Nevertheless, the consistency of the isotopic composition of the carbona-
ceous materials at Warrawoona with more recent deposits has been used to infer 
that the putative microfossils represent oxygenic photosynthetic cyanobacteria, 
which would require evolution of this complex and critical biological process prior 
to 3.45 Ga (Schopf 1993).

Recent studies, however, have contested both the inferred geological setting of 
the chert deposits and the biological origin of the structural features observed in the 
carbonaceous matter (Brasier et al. 2002, 2006; Garcia-Ruiz et al. 2003; Lindsay 
et al. 2005). Instead of the original interpretation that the carbon-bearing cherts were 
deposited as chemical precipitates from seawater that accumulated as sediments on 
the seafloor, an alternative interpretation infers a hydrothermal origin for the chert 
deposits, with the morphologic structures of the carbonaceous particles arising during 
recrystallization. The carbonaceous matter in this interpretation is inferred to be 
synthesized by Fischer-Tropsch-type reactions within the hydrothermal system. 
These reactions probably would have occurred deep within the system where circu-
lating fluids reacted with ultramafic rocks to generate strongly reducing conditions, 
and were then transported and deposited in a near-surface environment.

The measured isotopic compositions of the carbonaceous matter in the geologic 
deposits within the Warrawoona Group could apparently be consistent with either of 
these proposed interpretations. Although the average isotopic composition of the 
carbon deposits (~−33‰) is depleted in 13C by a few per mil relative to the average 
biological matter in more recent deposits, it is within the range of the historic record 
and of known carbon fixation pathways (Figs. 2 and 3). The isotopic composition of 
organic matter generated by Fischer-Tropsch-type reactions within hydrothermal 
systems remains poorly constrained, but the available data allow for the production 
of 13C-depletions comparable to those observed in the Warrawoona rocks. Experimental 
FTS studies have generated 13C depletions of 16–33‰ relative to the original carbon 
source, although it must be kept in mind that these values reflect depletions relative 
to the CO or HCOOH used as the carbon source rather than CO

2
 (Lancet and Anders 

1970; McCollom and Seewald 2006; Taran et al. 2007). Measured isotopic composi-
tions of light hydrocarbons with an apparent abiotic origin in natural systems range 
from −5‰ to −45‰, encompassing the values observed for the Warrawoona deposits 
(e.g., Sherwood Lollar et al. 2008; Proskurowksi et al. 2008). Since it is apparently 
possible to explain the isotopic composition of the carbonaceous material by either a 
biological or hydrothermal origin, the isotopic compositions do not provide a means 
of differentiating between the proposed origins and cannot be confidently used to 
support either interpretation.

It is worth noting that if the carbonaceous matter in the Apex Chert and other 
rocks from the Warrawoona Group does have a hydrothermal origin and this could 
be convincingly demonstrated by other means, this result would have an enormous 
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impact on interpretations of the origin of organic matter in the early isotopic record. 
Such a finding would demonstrate that non-biological processes are capable of 
producing an isotopic signature in geologic deposits that is essentially identical to 
that generated by biological sources. If the ~3.5 Ga Warrawoona deposits with 
isotopic compositions around −33‰ have a non-biological origin, some of the less 
ancient geologic deposits might also be non-biological, which would undermine 
one of the principal arguments used to advocate for the widespread distribution of 
life predating the early Archean.

4  Concluding Remarks

Most of the scientific community has come to accept that life on Earth originated 
prior to the onset of the geologic record at ~3.85 Ga, which is largely based on the 
proposed evidence for life in rocks from Isua/Akilia in Greenland and the Apex 
Chert and adjacent formations in Australia. The confidence placed in the veracity 
of these interpretations has led to categorical statements such as: “With the cur-
rently available geological record at hand, there is no doubt that microbial (prokary-
otic) ecosystems have been prolific on the Archaean Earth since 3.5, if not 3.8 Gyr 
ago” (Schidlowski 1993). Considerations like those discussed here indicate that the 
actual geologic record is more nuanced and less definitive than such statements 
would allow. From the standpoint of carbon isotopes, the evidence for a biological 
origin for reduced carbon in the earliest rock record is less persuasive than has been 
portrayed by many authors. Recent studies suggest that other proposed biosigna-
tures in ancient rocks may also be open to debate (Brasier et al. 2002, 2006; Garcia-
Ruiz et al. 2003; Lindsay et al. 2005). While biological processes remain a viable 
explanation for the features found in these ancient rocks (e.g., Glikson et al. 2008), 
it seems apparent that alternative explanations that do not require biology may also 
be plausible. Unless and until these alternatives can be confidently rejected, a bio-
logical explanation should not be accepted as definitive by scientists, and due 
consideration should be given to alternative interpretations for both the source of 
organic matter in ancient rocks and the timing of the origin of life.

With regard to the isotopic data, several lines of investigation should be pursued 
to gain greater clarity on these issues. While several studies have documented the 
occurrence of probable abiotic organic compounds in active geologic systems (e.g., 
Sherwood Lollar et al. 2008; Proskurowksi et al. 2008), further field investigations 
are needed to understand the extent of such processes, the full complement of com-
pounds produced, and the conditions under which they are generated. Also, 
although recent studies of the chemical and isotopic compositions of organic matter 
in IDPs and comets have greatly improved constraints on their contributions, more 
work is needed to characterize the organic component of these sources. Fluxes of 
organic matter from extraterrestrial sources and their capacity to survive and accu-
mulate in geologic deposits remain uncertain and would benefit from greater study. 
Additional laboratory experiments are needed to more precisely constrain the 
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conditions under which organic compounds can be synthesized in geologic systems 
and in the early atmosphere, and to characterize the isotopic composition of the 
products. With such data in hand, we may be able to more clearly evaluate whether 
rocks from the early Earth preserve evidence of life.
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