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Chapter 1

Long-Term Trend of the Partial
Pressure of CO2 in Surface Waters
and Sea�Air CO2 Flux in the
Equatorial Pacific

Hisayuki Y. Inoue1,5,�, Richard A. Feely2, Masao Ishii1, Takeshi Kawano3,
Akihiko Murata3 and Rik Wanninkhof4

1Geochemical Research Department, Meteorological Research Institute, Tsukuba, Ibaraki 305-0052,

Japan
2Pacific Marine Environmental Laboratory, National Oceanic and Atmospheric Administration, Seattle,

WA 98115-0070, USA
3Ocean Research Department, Japan Marine Science and Technology Center, Yokosuka, Kanagawa

237-0061, Japan
4Atlantic Oceanographic and Meteorological Laboratory, National Oceanic and Atmospheric

Administration, Miami, FL 33149, USA
5Laboratory of Marine and Atmospheric Geochemistry, Graduate School of Environmental Earth
Sciences, Hokkaido University, Kita-ku, Sapporo 060-0810, Japan

Abstract

Measurements of partial pressure of CO2 in surface waters (pCO2
sw) and overlying air

(pCO2
air) were made intermittently in the central and western equatorial Pacific from

January 1987 to January 2003. We estimated the long-term trend of the pCO2
sw in the high

nutrient low chlorophyll (HNLC) region and the western Pacific warm pool. The spatial

distribution of pCO2
sw in the HNLC region could be expressed as a linear function of sea

surface temperature (SST) and concentration of macronutrients ([NO2
�]+[NO3

�]), and in the

western Pacific warm pool as a function of SST and sea surface salinity (SSS). By using an

average SST (27.4 1C) and concentration of nitrate and nitrite (3.9 mmol/kg) in the HNLC
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region and the average SST (29.6 1C) and SSS (34.29) in the western Pacific warm pool

between 1987 and 2003, we obtained pCO2
sw values for respective cruises. The growth rate of

pCO2
sw due to increases in atmospheric CO2 was calculated to be 1.470.5matm/yr in the

HNLC region and 1.370.3matm/yr in the western Pacific warm pool. The sea�air CO2 flux in

the equatorial Pacific since 1998 was evaluated by using underway pCO2
sw data measured by

Japan Meteorological Agency, Meteorological Research Institute (JMA/MRI), National Oce-

anic and Atmospheric Administration, Pacific Marine Environmental Laboratory (NOAA/

PMEL), and NOAA, Atlantic Oceanographic and Meteorological Laboratory (NOAA/AOML).

From 1998 to 2003 the sea�air CO2 flux in the equatorial Pacific (51N–101S, 1401E–901W)

showed lowest flux in January/February 1998 (0.170.1 Pg C/yr, 1997/98 El Niño), and high-

est (0.970.4 Pg C/yr) in January/February 2001, suggesting significant interannual varia-

tions in sea�air CO2 flux in the equatorial Pacific. In October 2002�January 2003, which

was within a weak El Niño period, the CO2 flux in the equatorial Pacific was 0.570.3 Pg C/yr,

almost same as that of the non-El Niño period. In this period, sea�air CO2 flux in the central

and western equatorial Pacific decreased considerably to the same level of January/February

1998, but that in the eastern equatorial Pacific remained fairly constant.

Keywords: partial pressure of CO2; sea�air CO2 flux; Oceanic carbon cycle;
Equatorial Pacific; Long-term trend

1 Introduction

By exchanging CO2 with the atmosphere, ocean plays an important role in
determining the atmospheric CO2 level that has been increasing due to
human activities (IPCC, 2001). The CO2 flux between the sea and the over-
lying air (F) can be estimated by the product of the gas transfer velocity
expressed as a function of wind speed (k; Wanninkhof, 1992; Wanninkhof
and McGillis, 1999), the solubility of CO2 (s; Weiss, 1974), and the difference
in partial pressure (or fugacity) of CO2 between the sea surface water and
the air (DpCO2 ¼ pCO2

sw–pCO2
air):

F ¼ k � s pCOsw
2 � pCOair

2

� �
(1)

The pCO2
sw actually determines whether the ocean acts as a source for at-

mospheric CO2 or a sink, because it varies significantly as compared with
that of air (see e.g., Takahashi et al., 2002).

The equatorial Pacific is a well-documented source for atmospheric CO2

in which the sea�air CO2 flux has been estimated to vary between 0.02 and
0.96 Pg–C/yr, depending on changes in physical and biological processes
driven by the El Niño�southern oscillation (ENSO) phenomena (Feely et al.,
2002). As described by Le Borgne et al. (2002), the equatorial Pacific consists
of two regions that have distinct carbon system dynamics: the high nutrient

Hisayuki Y. Inoue et al.2



low chlorophyll (HNLC) region and the western Pacific warm pool. The
HNLC region extends from the eastern edge of the western Pacific warm
pool to the coast of south America. Since the 1980s temporal and spatial
variations in pCO2

sw in the equatorial Pacific have been examined (see e.g.,
Feely et al., 2002; Takahashi et al., 2003). According to Feely et al. (2002),
the prominent feature of pCO2

sw in the eastern equatorial Pacific can be
described as follows. Shoaling thermocline to the east and local upwelling
and the Peruvian upwelling bring waters containing high CO2 concentration
to the surface. The northward-flowing Peru Current entrains water with
high pCO2

sw into the south equatorial current (SEC). These lead to the
highest pCO2

sw in the eastern equatorial Pacific HNLC region. A steep
gradient of pCO2

sw occurs between the SEC and the north equatorial coun-
ter-current (NECC) with pCO2

sw nearly equal to that of air. The boundary
between the SEC and NECC ranges from 0.51 or less from the equator in the
east to 51N at 1401W. The boundaries of the regions vary due to the phase of
the ENSO cycle and the presence of the tropical instability waves.

The pCO2
sw in the western Pacific warm pool, characterized by high sea

surface temperature (SST428.5 1C), low sea surface salinity (SSSo34.5),
and low concentration of macronutrients, tend to be slightly supersaturated
with respect to that of atmospheric CO2 (Inoue et al., 1996, 2001; Feely et
al., 2002; Le Borgne et al., 2002). In the central and western equatorial
Pacific, the longitudinal distributions of pCO2

sw/SSS vary depending on the
geographical position of the boundary between the HNLC region and west-
ern Pacific warm pool. Inoue et al. (1996) reported that the longitude with
high gradient of pCO2

sw/SSS (the eastern edge of warm pool) was related to
the southern oscillation index (SOI; Le Borgne et al., 2002; Ishii et al., 2003).
The western Pacific warm pool migrates eastward during the El Niño event
(Picaut et al., 1996; Delcroix et al., 1998; Johnson et al., 2000), which leads
to a decrease in pCO2

sw to near equilibrium with respect to the air. Boutin et
al. (1999) reported that western Pacific warm pool moving east�west exerts
strong control on the sea�air CO2 flux in the equatorial Pacific.

By using atmospheric inversions and ocean models, Le Quéré et al.
(2003) report that ocean and land sinks are estimated to be, respectively,
0.3 (0.1�0.6) and 0.7 (0.4�0.9) Pg C/yr larger in the 1990s than in the 1980s.
Oceanic regions where long-term variations in sea�air CO2 flux occur
should be determined in order to understand the changing global carbon
cycle; examining spatial distributions of pCO2

sw over decades is of particular
importance in order to elucidate the long-term variations in oceanic uptake
of anthropogenic CO2. In the equatorial Pacific, there have been a few
studies of the long-term trend of pCO2

sw, which is mainly caused by the large
interannual variations in pCO2

sw described above. In the eastern equatorial
Pacific, Feely et al. (1999) estimated the long-term trend of pCO2

sw in the
center of upwelling area near the equator (1.2770.18 matm/yr). In the
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southern subtropical zone along 1501W, Feely et al. (2002) reported the
growth rate of pCO2

sw of 1.070.3 matm/yr, similar to that found by Feely
et al. (1999) in the center of upwelling area. In the subtropics of the western
North and South Pacific, however, the long-term trend of pCO2

sw (Inoue
et al., 1995, 1999) is similar. Recently, Takahashi et al. (2003) determined a
change in the pCO2

sw growth rate in the central and western equatorial
Pacific between 1980s and 1990s attributed it to the changes in the phase of
the Pacific decadal oscillation (PDO) that occurred between 1988 and 1992.
They reported that before the PDO phase shift the in situ pCO2

sw changed at
a mean rate of 573matm per decade in the western Pacific warm pool and
�9713 matm per decade in the central equatorial Pacific and after the PDO
phase shift 3474matm per decade in the western Pacific warm pool and
1877 matm per decade in the central equatorial Pacific.

In this work, first we will examine the long-term trend of pCO2
sw in the

central and western equatorial Pacific (Fig. 1) by using the data measured
by the MRI/JMA group over the period from January 1987 to March 2003
(Table 1), and then variations in sea�air CO2 flux in the equatorial Pacific
(Fig. 1, 51N–101S, 1401E–901W) by combining data taken after 1998 with
underway pCO2

sw (fCO2
sw) data (http://www.pmel.noaa.gov/uwpco2/, http://

www.aoml.noaa.gov/ocd/oaces/mastermap.html) taken by the CO2 groups of
the National Oceanic and Atmospheric Administration, the Pacific Marine
Environmental Laboratory (NOAA/PMEL) and the Atlantic Oceanographic
and Meteorological Laboratory (NOAA/AOML).

2 Observations

Japan Meteorological Agency, Meteorological Research Institute (JMA/MRI)
measurements of pCO2

sw and pCO2
air used in this work were made in the

Figure 1: Equatorial Pacific where air�sea CO2 flux was examined
(51N–101S, 1401E–801W, surrounded by solid line). The long-term trend of
pCO2

sw (dashed line) was examined in the western Pacific warm pool (A) and
the HNLC region (B).
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Table 1: Cruise list in the equatorial Pacific (51N�101S) used in this work

Cruise name Time of observation Latitude Longitude SOI1 Ship

JENEX-87 Jan.–Feb. 1987 51N–51S 1601E–1601W �1.4 Natsushima
JAPACS-89 Jan.–Feb. 1989 51N–51S 1601E–1601W 1.4 Natsushima
JAPACS-90 Jan.–Feb. 1990 51N–51S 1471E–1601W �1.3 Natsushima
KH90-2&3 Sept.–Dec. 1990 51N–101S 1481E–1501W �0.5 Hakuho-maru
JAPACS-91 Jan.–Feb. 1991 51N–51S 1471E–1601W 0.3 Natsushima
KY9401 Jan.–Feb. 1994 51N–41S 1351E–1651W �0.2 Kaiyo
KY9411 Nov.–Dec. 1994 51N–01 1461E–1651W �1.2 Kaiyo
KY9512 Dec. 1995–Feb. 1996 51N–31S 1371E–1651W 0.0 Kaiyo
KY9701 Dec. 1996–Feb. 1997 51N–51S 1321E–1671W 1.0 Kaiyo
RY9709 October 1997 51N–21S 1451E–1651E �1.9 Ryofu-maru
KY9712 Dec. 1997–Jan. 1998 51N–51S 1361E–1801 �2.3 Kaiyo
MR97K2 Feb. 1998 51N–01 1761E–1641W �2.7 Mirai
Ka’imimoana TAO Feb.–May 1998 81N–81S 951W–1101W �2.0 Ka’imimoana
MR98K2 Jan. 1999 51N–01 1351E–1671W 2.0 Mirai
KY9901 Jan.-–Feb. 1999 51N–11S 1371E–1681E 1.4 Kaiyo
Ka’imimoana TAO Jan.–Feb. 1999 51N–101S 1251W–1401W 1.4 Ka’imimoana
MR99K6&7 Oct.–Dec. 1999 51N–51S 1351E–1671W 1.2 Mirai
Ron Brown TAO Nov.–Dec. 1999 51N–101S 951W–1101W 1.3 Ron Brown
MR00K8 Jan. 2001 51N–01 1451E–1601W 1.1 Mirai
GasEx 2001 Jan.–Mar. 2001 51N–101S 921W–1401W 1.0 Ron Brown
MR01K1 Feb.–Mar. 2001 51N–51S 1471E–1561E 1.0 Mirai
Ron Brown TAO Nov. –Dec. 2001 51N–101S 901W–1101W �0.3 Ron Brown
MR02K1&2 Jan.–Mar. 2002 51N–51S 1451E–1601W 0.1 Mirai
Ron Brown TAO Oct. –Nov. 2002 51N–81S 951W–1141W �0.7 Ron Brown
MR02K6 Nov. 2002–Mar. 2003 51N–51S 1381E–1601W �0.9 Mirai

1The monthly SOI values are taken from the Climate Prediction Centre (http://www.cpc.ncep.noaa.gov).
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equatorial Pacific from January 1987 to February 2003. Underway meas-
urements of pCO2

sw and pCO2
air for these cruises were carried out with

systems reported earlier (Inoue, 2000; Körtzinger et al., 2000). The under-
way system consists of a nondispersive infrared gas analyzer, a shower-
head-type equilibrator, diaphragm pumps, and a unit for removal of water
vapor in sample air. Uncontaminated water from the inlet of sample sea-
water about 4–5 m below the surface was continuously pumped at flow rates
450 L/min to the laboratory and introduced into the equilibrator at ap-
proximately 10 L/min. CO2 in the water equilibrates with recirculated air in
the shower-head-type equilibrator. The CO2 mole fraction in the dry air
equilibrated with seawater was determined by using working reference
gases traceable to the WMO mole fraction scale.

The underway measurements of fCO2
sw and fCO2

air were made aboard
the NOAA ships Malcolm Aldridge, the Discoverer, the Ka’imimoana and
Ron Brown by using similar systems as described above and detailed in
Wanninkhof and Thoning (1993) and Feely et al. (1998). In this work, the
precision and accuracy of the xCO2

sw, CO2 mixing ratio in the dry air equil-
ibrated with surface seawater, was estimated to be within 1–2 ppm. Results
of an intercomparison held aboard the FS Meteor in the North Atlantic in
June 1996, which included the JMA/MRI system but not the NOAA systems,
generally agree with about 2 ppm (Körtzinger et al., 2000).

3 Results and Discussion

3.1 Long-Term Trend of pCO2
SW in the HNLC Region

As compared with pCO2
sw distribution in the subtropics showing basically

the same pattern in the same time (month) of the year (Inoue et al., 1995),
the pCO2

sw distribution in the equatorial Pacific varied considerably espe-
cially associated with the ENSO phenomena (Fig. 2). In the equatorial
Pacific, therefore, it is extremely difficult to detect the long-term trend of
pCO2

sw by simply comparing pCO2
sw data taken several years apart (Goyet

and Peltzer, 1994).
Thermodynamics, ocean dynamics (lateral flow, vertical mixing, and up-

welling of water), and biological activities are considered to be major proc-
esses (Poisson et al., 1993; Lee et al., 1998) affecting pCO2

sw via changes in
total dissolved inorganic carbon (DIC), total alkalinity, pH, temperature,
and salinity. One of the approaches for evaluating the long-term trend is to
compare the pCO2

sw data taken at the same thermodynamic, oceanographic
and biological conditions. Feely et al. (1999) have reported the long-term
trend of pCO2

sw for the core of upwelled water in the region of temperature
minimum near the equator between 140 and 1601W using temperature

Hisayuki Y. Inoue et al.6
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Figure 2: Longitudinal distributions of pCO2
sw, pCO2

air, [NO2
�]+[NO3

�], SSS
and SST along the equator in October/December 1999 (red), January/March
2001 (blue), January/March 2002 (green) and November 2002/March 2003
(yellow). In the upper panel, the thick line shows pCO2

sw and the thin line
pCO2

air. Arrows show the boundary between the HNLC region and western
Pacific warm pool (For colour version, see Colour Plate Section).
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normalized pCO2
sw values. Feely et al. (2002) also discussed the long-term

trend of pCO2
sw along 1501W between 1979 and 1990s by using a

pCO2
sw
�SST relationship.

As pointed out by Wanninkhof et al. (1996), SST by itself is not a robust
predictor of pCO2

sw in the HNLC region. Dandonneau (1995) concluded that
most of the variations of pCO2

sw in the eastern equatorial Pacific were co-
herent in parallel with nitrate concentration and fluorescence, and inversely
with SST. Wanninkhof et al. (1996) reported that the pCO2

sw showed the best
correlation with a combination of NO3

� and SST:

pCOsw
2 ¼ Ac þ BcðSSTÞ þ Ccð½NO�2 � þ ½NO�3 �Þ (2)

where A, B, and C are coefficients determined empirically and subscript c
means the HNLC region. In this work, we assumed that calculating the
pCO2

sw normalized to the same SST and concentration of nitrate and nitrite
([NO2

�]+[NO3
�], hereafter expressed as NO3) is the best approach to deter-

mine the pCO2
sw value at the same conditions of thermodynamics, ocean

dynamics and biological activities in the HNLC region. The spatial distri-
bution of pCO2

sw in the HNLC region was generally approximated well using
equation (2) (Table 2). An example of the least squares fit of equation (2) to
the data in January 2001 is shown in Fig. 3, in which the pCO2

sw has been
calculated with a root-mean-squares deviation (rms) of 2 matm. However, the
coefficients for this relationship cannot be applied to the data during other
phases of the ENSO cycle with the same amount of accuracy (Wanninkhof
et al., 1996). For example, the relationship of pCO2

sw with SST and NO3 in
January 2001 gave a deviation (bias) of about 13matm for the pCO2

sw in
January/February 1999 (Table 2).

In order to evaluate the long-term trend, we determined the coefficients
and the intercept of equation (2) for respective cruises (Table 2) and then
calculated the pCO2

sw normalized to the average SST and NO3. The average
SST (27.4 1C) and NO3 (3.9mmol/kg) observed from 1989 to 2003 minimize
any effects of changes in thermodynamics, ocean dynamics, and biological
activity on the pCO2

sw. By assuming the linear long-term trend, the growth
rate of pCO2

sw at the average SST and NO3 was estimated to be
1.470.5 matm/yr (Fig. 4) in the HNLC region, which is very similar to the
increase in atmospheric CO2. Figure 5 represents the growth rate of pCO2

sw

expressed as a function of SST and NO3, which varied from 0.6 to 2.1matm/
yr. If the pCO2

sw were determined at exactly the same condition of thermo-
dynamics, ocean dynamics, and biological activity, the calculated growth
rate of pCO2

sw would be the same irrespective of changes in SST and NO3.
NO3 increases with decrease in SST (Chavez et al., 1996). In this context,
the fairly constant growth rate of pCO2

sw with conditions between low
SST�high NO3 and high SST�low NO3 as indicated by an arrow in Fig. 5,

Hisayuki Y. Inoue et al.8



Table 2: Multiple linear regressions to estimate the spatial distribution of pCO2
sw in the HNLC region in

1989�2003

Time of observation Longitude Equation n r

Jan.–Feb. 1989 1601E–1601W pCO2
sw(73.8) ¼ 263.9(778.3)+4.36(72.59)SST+9.44(72.08)NO3 9 0.948

Sep.–Oct. 1990 1801–1501W pCO2
sw(75.9) ¼ 807.9(784.9)�14.65(72.88)SST+2.37(71.45)NO3 23 0.952

Jan. 1994 1751E–1651W pCO2
sw(73.8) ¼ 1060.9(7267.0)�22.35(78.92)SST�2.37(75.75) NO3 7 0.989

Jan. 1996 1761E–1651W pCO2
sw(73.6) ¼ �137.2(7183.5)+18.07(76.14)SST+20.16(74.66)NO3 8 0.948

Jan. 1997 1731E–1671W pCO2
sw(72.7) ¼ 372.2(756.7)+0.87(71.90)SST+11.86(71.19)NO3 32 0.984

Jan. 1999 1711E–1711W pCO2
sw(73.4) ¼ 168.5(790.6)+7.29(73.17)SST+16.58(72.18)NO3 68 0.969

Dec. 1999 1621E–1701W pCO2
sw(73.9) ¼ 412.0(741.9)�0.07(71.44)SST+7.58(70.77)NO3 175 0.941

Jan. 2001 1621E–1621W pCO2
sw(72.6) ¼ 272.1(725.1)+4.42(70.82)SST+12.42(70.60)NO3 194 0.978

Jan. 2002 1771W–1601W pCO2
sw(72.1) ¼ 478.3(770.1)�2.41(72.34)SST+8.04(71.25)NO3 59 0.957

Jan. 2003 1701W–1601W pCO2
sw(71.7) ¼ 239.1(741.9)+5.28(71.40)SST+12.33(70.62)NO3 94 0.987

Note: The standard error of analysis (in matm) is listed in parentheses after pCO2
sw, the standard error for the coefficient and intercept

are in parenthesis after coefficient and intercept, n is the number of data, and r is the correlation coefficient. Macronutrients in surface
seawater were monitored continuously for cruises conducted after 1999.
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could suggest the validity of the present approach for estimating the long-
term trend of pCO2

sw.
Our results obtained in the HNLC region also agreed well with the

increase of pCO2
sw in the core of upwelled water, where the entrained

Figure 3: The pCO2
sw calculated as the function of SST and NO3 against

observed pCO2
sw in January/February 2001.

Figure 4: The pCO2
sw at average SST (27.4 1C) and NO3 (3.9mmol/kg) in the

HNLC region west of 1501W in 1989�2003. The solid line shows the linear
long-term trend of pCO2

sw(t) ¼ 1.4(t–1985)+418.0, where t is the elapsed time
(year) since January 1985. The standard error of analysis was 7.4 matm, and
the standard error for the coefficient was 0.5matm/yr, intercept 6.7matm and
the correlation coefficient was 0.68.
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subtropical water is injected into the upwelled water at the equator. This
suggests that the upwelled water has been recently exposed to, and equil-
ibrated with, the atmosphere (Feely et al., 1999). After upwelling of water,
the current atmospheric CO2 level does not largely affect the growth rate
of pCO2

sw in the HNLC region, suggesting a relatively small uptake of
anthropogenic CO2 in the HNLC region. The apparent growth rate of total
DIC in the HNLC region inferred from pCO2

sw and buffer (Revelle) factor is
estimated to be �0.8 mmol/kg/yr. This agrees well with the DIC increase of
0.9170.09 mol/kg/yr that Ishii et al. (2003) deduced from the apparent tem-
perature dependence of normalized DIC and total alkalinity.

3.2 Long-Term Trend of pCO2
sw in the Western Pacific Warm

Pool

The western Pacific warm pool migrates eastward following the occurrence
of El Niño. In this warm pool, high pCO2

sw is absent due to a deep therm-
ocline and nutricline, combined with a barrier layer produced by shallow
haloclines (Le Borgne et al., 2002). A barrier layer between a shallow
halocline and the top of the thermocline prevents entrainment of cold
water, rich in CO2 and nutrients, across the bottom of the mixed layer,
indicating the importance of surface salinity field in the warm pool on mod-
ulating pCO2

sw levels. The distribution of pCO2
sw in the western Pacific

warm pool can be approximated well by a linear function of SST and SSS
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Figure 5: The growth rate of pCO2
sw that was calculated using SST and

NO3 via equation (2). Solid circle shows the growth rate of pCO2
sw at average

SST and NO3. An arrow shows apparent SST dependence of NO3� observed
in the HNLC region.
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(Inoue et al., 2001):

pCOw
2 ¼ Aw þ BwðSSTÞ þ CwðSSSÞ (3)

where A, B, and C are coefficients determined empirically and subscript w
means western Pacific warm pool. The relationship of pCO2

sw with SST and
SSS in January/February 2002 is shown as an example in Fig. 6. This re-
lationship of pCO2

sw with SST and SSS cannot be applied to the data re-
corded during other periods (Table 3), as is the case for equation (2) in the
HNLC region. The growth rate of pCO2

sw at the average SST and SSS ob-
served in 1987�2003 is calculated to be 1.370.3matm/yr in the western
Pacific warm pool (Fig. 7). Within the range of a standard deviation from the
average for SST and SSS, the long-term trend of pCO2

sw ranged from 1.0 to
1.6 matm/yr (Fig. 8). With respect to changes in SST and SSS in the western
Pacific warm pool, Ando and Kuroda (2002) reported two dominant modes: a
positive correlation mode in which the density field is not affected and a
negative correlation mode having substantial impact on the density field.
The fairly constant growth rate of pCO2

sw occurred under conditions of in-
creasing SST and SSS and thus a negligible change in the density field. A
stable density field provides favorable conditions for determining the long-
term trend of pCO2

sw. The growth rate of pCO2
sw determined for average SST

and SSS in the western Pacific warm pool is equal to that given by the
average SST and NO3 in the HNLC region.

In order to evaluate the long-term trend of pCO2
sw in the HNLC re-

gion and western Pacific warm pool, we used a multiple linear regression

Figure 6: The pCO2
sw calculated as a function of SST and SSS against

observed pCO2
sw in January/February 2001.
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Table 3: Multiple linear regressions to estimate the spatial distribution of pCO2
sw in the western Pacific warm

pool in 1987�2003

Time of observation Longitude Equation n r

Jan.–Feb. 1987 1601E–1801 pCO2
sw(72.4) ¼ �717.6(7242.7)+10.66(72.82)SST+21.90(75.45)SSS 19 0.743

Jan.–Feb. 1990 1471E–1701E pCO2
sw(70.9) ¼ �619.9(7242.7)+8.54(73.46)SST+21.08(72.59)SSS 8 0.972

Nov. 1990 1601E–1701E pCO2
sw(71.8) ¼ 88.8(7124.9)�1.36(72.37)SST+8.71(72.62)SSS 10 0.800

Feb. 1991 1471E–1651E pCO2
sw(73.1) ¼ �605.8(7204.4)+7.47(76.37)SST+21.24(77.96)SSS 11 0.859

Jan.–Feb. 1994 1381E–1601E pCO2
sw(76.5) ¼ �20.2(7155.3)�7.57(71.58)SST+17.42(73.75)SSS 192 0.555

Nov.–Dec. 1994 1471E–1701W pCO2
sw(73.1) ¼ �82.0(732.8)+13.2(70.88)SST+1.36(71.16)SSS 363 0.710

Dec. 1995 1471E–1571E pCO2
sw(73.0) ¼ �325.1(793.6)+5.83(72.48)SST+14.87(72.48)SSS 68 0.680

Jan.–Feb. 1997 1371E–1651E pCO2
sw(73.6) ¼ �249.2(794.6)�1.44(71.42)SST+19.19(73.46)SSS 43 0.736

Oct. 1997 1471E–1651E pCO2
sw(72.3) ¼ �579.0(738.3)+10.43(70.67)SST+18.60(70.89)SSS 162 0.890

Dec. 1997 1431E–1781E pCO2
sw(72.8) ¼ �536.2(722.2)+9.46(70.42)SST+18.21(70.85)SSS 774 0.904

Feb. 1998 1801–1631W pCO2
sw(72.6) ¼ �439.5(742.6)–2.44(70.64)SST+25.27(70.97)SSS 184 0.863

Jan. 1999 1421E–1521E pCO2
sw(71.9) ¼ �575.1(766.9)+7.66(71.14)SST+20.60(71.91)SSS 177 0.733

Nov. 1999 1431E–1511E pCO2
sw(71.7) ¼ �1344.6(739.8)+9.89(70.89)SST+41.37(71.00)SSS 182 0.959

Jan.–Feb. 2002 1451E–1701E pCO2
sw(72.5) ¼ �1665.1(750.0)+9.23(70.48)SST+51.15(71.38)SSS 374 0.905

Mar. 2002 1451E–1561E pCO2
sw(72.5) ¼ �525.5(758.5)–15.27(70.77)SST+38.91(71.53)SSS 364 0.871

Jan. 2003 1601E–1801E pCO2
sw(71.4) ¼ �485.9(710.1)+4.89(70.36)SST+20.67(70.25)SSS 382 0.982
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analysis given by equations (2) and (3). With respect to spatial distributions,
the pCO2

sw can be calculated well with rms of 2–3matm for the HNLC and
the western Pacific warm pool. In this work, we examined the long-term
trend of pCO2

sw at given SST and NO3 in the HNLC region and SST and SSS
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Figure 8: The growth rate of pCO2
sw that was calculated using SST and SSS

via equation (3). Solid circle shows the growth rate of pCO2
sw at average SST

and SSS.
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Figure 7: The pCO2
sw at average SST (29.5 1C) and SSS (34.29) in the

western Pacific warm pool in 1987�2003. The solid line shows the linear
long-term trend of pCO2

sw(t) ¼ 1.3(t�1985)+344.0, where t is the elapsed
time (year) since January 1985. The standard error of analysis was 5.6matm,
and the standard error for the coefficient was 0.3 matm/yr, intercept 5.6 matm
and the correlation coefficient was 0.71.
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in the western Pacific warm pool, which might provide the pCO2
sw at the

same conditions of thermodynamics, ocean dynamics and biological activity.
At average values of SST and NO3 in the HNLC region and SST and SSS in
the western equatorial Pacific warm pool observed from 1987 to 2003, the
long-term trend of pCO2

sw was calculated to be 1.470.5 matm/yr in the HNLC
region and 1.370.3 matm/yr in the western Pacific warm pool. The growth
rates of pCO2

sw for both regions were close to that in the core of upwelled
water between 140 and 1601W (Feely et al., 1999; Feely et al., 2002) and
pCO2

air (1.670.4matm/yr). The growth rates of pCO2
air was calculated from

the atmospheric data from Christmas Island (11420N, 1571100W) and con-
tainer ships by NOAA/CMDL (Conway et al., 1994). The growth rate of
pCO2

sw in the central and western equatorial Pacific and that of the core
of upwelled water suggests a somewhat smaller uptake of anthropogenic
CO2 after upwelling than other portions of the North Pacific (Sabine et al.,
2004). Takahashi et al. (2003) showed that the pCO2

sw over the Pacific equa-
torial zone appears to have changed substantially during the past two dec-
ades in coincidence with the PDO phase shift that occurred between 1988
and 1992. They reported that after the PDO phase shift DpCO2 increased by
19matm in the western area by the year 2001. This includes changes in
carbonate system other than uptake of anthropogenic CO2, that is, ocean
dynamics and/or biological activity. The extremely high growth rate of
pCO2

sw (2.570.3matm/yr) was reported at the time-series station ALOHA
in the North Pacific subtropical gyre (Dore et al., 2003). Keeling et al.
(2004) proposed that the large increase in pCO2

sw resulted mainly from
the increased flow from northwestern waters with greater pCO2

sw and
salinity related to a large-scale reorganization of the climate system over the
North Pacific. Our data sets are mostly taken after the PDO phase shift
(Takahashi et al., 2003) and include data from 51S to 21N, 1371E to 1701W in
the western Pacific warm pool. In order to examine temporal and spatial
variations in growth rate of pCO2

sw in the equatorial Pacific, it is further
necessary to conduct precise and repeated measurements at least over a few
decades.

3.3 Air�Sea CO2 Flux in the Equatorial Pacific

If the parameters SST, SSS, and NO3 are measured widely and remotely like
SST and chlorophyll, we could easily interpolate/extrapolate the observed
pCO2

sw data in the equatorial Pacific, which would allow us to evaluate the
sea�air CO2 flux more precisely. Historically, the pCO2

sw
�SST or DIC�SST

relationship has been used in order to estimate temporal and spatial var-
iations in pCO2

sw in the equatorial Pacific (Lee et al., 1998; Boutin et al.,
1999; Loukos et al., 2000; Cosca et al., 2003; Ishii et al., 2003). For example,
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on the basis of the assumption that, either directly or indirectly, the
thermodynamic, transport, and biological effects are correlated with tem-
perature, Lee et al. (1998) examined the interannual variability of pCO2

sw

using the pCO2
sw
�SST relationship. Wanninkhof et al. (1996) and Feely et al.

(1999, 2002) calculated CO2 flux along the cruise track by using observed
pCO2

sw and extrapolated it to the equatorial Pacific for specific latitude and
longitude regions.

As discussed above, the pCO2
sw
�SST relationship determined for a cer-

tain cruise cannot be applied for long-term changes in pCO2
sw (Dandonneau,

1995; Wanninkhof et al. 1996). The pCO2
sw
�SST relationship determined by

compiling data taken over several years gives us a spatial average estimate
of pCO2

sw variations as a function of SST, because it is determined based on
the concept that the observed pCO2

sw included a ‘‘random error.’’ With re-
spect to the global carbon cycle, what we would like to know is if the pCO2

sw

field including the ‘‘random error’’ varied on time scale of ENSO cycle. The
approach by Wanninkhof et al. (1996) and Feely et al. (1999, 2002) is to
evaluate this pCO2

sw field, though the pCO2
sw is extrapolated without using

parameters that relate to the carbon system.
In this work, we determined pCO2

sw
�SST relationships on the basis of

data collected within a few months to obtain pCO2
sw distribution on the basis

of MRI/JMA, NOAA/PMEL and NOAA/AOML data (Table 3). We divided the
equatorial Pacific rather arbitrarily into regions in which a single
pCO2

sw
�SST relationship was applied (see Appendix). We obtained a pCO2

sw

map (Fig. 9) by applying average SST during the observation period (ftp://
ftp.ncep.noaa.gov/pub/cmb/sst/oimonth). The CO2 transfer velocity was cal-
culated by Wanninkhof (1992):

k ¼ 0:39U2
avðSc20=ScÞ1=2 (4)

where Uav is the averaged wind speed during the observation, and Sc20 and
Sc are the Schmidt number for CO2 at 20 1C and at SST. Data of averaged
wind speed were acquired from the Japan Meteorological Agency (GANAL
data sets).

Boutin et al. (1999) provided a time series of sea�air CO2 flux of
0.18 Pg C/yr between the equator and 51S using pCO2

sw–SST and pCO2
sw–SST

anomaly relationships, which agreed well with that of Cosca et al. (2003),
who gave the mean flux of 0.370.1 Pg/yr for an area that covers approx-
imately half of the Pacific equatorial belt (901W–1651E, 51N–101S) during
1985�2001. Loukos et al. (2000) found an average CO2 flux of 0.5 Pg C/yr for
1982�1993, while recently Ishii et al. (2003) found 0.4 Pg C/yr for
1990�2000.

Table 4 lists the air�sea CO2 flux obtained in this work. A large sea�air
CO2 flux of 0.970.4 Pg C/yr was observed in January/February 2001, and
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Figure 9: The distribution of DpCO2 in the equatorial Pacific in January/
February 1998, January/February 1999, November/December 1999, Janu-
ary/February 2001, November 2001/February 2002, and October 2002/Jan-
uary 2003.
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Table 4: Estimated sea-to-air CO2 flux in the equatorial Pacific during the last 5 years

Year Month SOI Region of interest Area (�106 km2) DpCO2
sw (matm) Annual flux (Pg C/yr) Reference

1997/98 Spring–spring 101N–101S, 1351E–801W 35 0.270.14 Feely et al., 2002
1998 101N–101S, 1351E–801W 35 30 0.470.2 Feely et al., 2002
1998 Jan.–Feb. �3.0 51N–101S, 1401E–901W 24 12(18) 0.170.1(0.0870.05) This work
1999 Jan.–Feb. 1.4 51N–101S, 1401E–901W 24 71(39) 0.670.3(0.270.1) This work
1999 Nov.–Dec. 1.3 51N–101S, 1401E–901W 24 64(43) 0.670.3(0.270.1) This work
2001 Jan.–Feb. 1.3 51N–101S, 1401E–901W 24 88(58) 0.970.4(0.370.1) This work
2001�2002 Nov.–Feb. 0.2 51N–101S, 1401E–901W 24 50(31) 0.570.3(0.170.1) This work
2002�2003 Oct.–Jan. �0.8 51N–101S, 1401E–901W 24 42(18) 0.570.3(0.0570.03) This work

Note: DpCO2 and CO2 flux west of 1601W (central and western equatorial Pacific) are in parentheses after those of equatorial Pacific.
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relatively low CO2 flux (�0.5 Pg C/yr) in November 2001/February 2002 and
October 2002/January 2003. The lowest CO2 flux of 0.1 Pg C/yr was esti-
mated for the period of January/February 1998, during the period of 1997/98
El Niño. Feely et al. (2002) estimated the sea�air CO2 flux of 0.270.14 Pg C/yr
for the 1-year period from spring 1997 to spring 1998. The bimonthly
sea�air CO2 flux listed in Table 3 varied more than those estimated by using
a pCO2

sw(TCO2)–SST relationship over the same period. During 1997�1998,
the growth rate of atmospheric CO2 increased steeply and reached a level
larger than 3 ppm/yr in the first half of 1998 and then decreased (http://
www.cmdl.noaa.gov/ccg/index.html). It is thus of particular importance to
examine the CO2 flux on time scales of ENSO phenomena (probably shorter
than a few months) to figure out the role of the equatorial Pacific in the
current global carbon cycle. During the 2002/03 El Niño event (October
2002/January 2003), the pCO2

sw in the central and western equatorial Pacific
decreased considerably, but in the eastern equatorial Pacific remained
almost at the same level as during the previous non-El Niño period of
November 2001/February 2002 (Fig. 10). This led to the relatively lower
sea�air CO2 flux in the central and western equatorial Pacific (west of
1601W) during the 2002/03 El Niño period, which was comparable to that of
1997/98 El Niño. The remarkable contrast between the western and eastern
Pacific is attributed to a deeper thermocline and weaker winds in the
western Pacific, which causes pCO2

sw values to be nearly in equilibrium with
the atmosphere and, hence, the lower sea-to-air CO2 fluxes. In a remarkable
contrast, the eastern Pacific had much higher CO2 fluxes because the
thermocline was almost as shallow as during non-El Niño periods, resulting
in very high pCO2

sw values due to upwelling of relatively cold CO2-enriched
waters from the equatorial undercurrent. Coupled with strong southeast-
erly winds, the resulting CO2 fluxes during the 2002/03 El Niño in the
eastern equatorial Pacific were very similar to the fluxes observed during a
non-El Niño period. The central and western equatorial Pacific (west of
1601W) showed relatively large variability of sea�air CO2 flux as pointed
out by Inoue et al. (2002), though changes in sea�air CO2 flux would only
affect the growth rate of atmospheric CO2 by about �0.2 ppm/yr. These
results suggest the recent phase shift of the 1990s (Chavez et al., 2003;
Takahashi et al., 2003) may have resulted in a net increase in the outgasing
of CO2 at the equator, causing an enhancement of the global warming im-
pacts of CO2 on the atmosphere.
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Appendix

In order to evaluate the sea�air CO2 flux in the equatorial Pacific, we di-
vided the equatorial Pacific into regions (Fig. A.1) on the basis of the current
system and carbonate chemistry in the equatorial Pacific. In the eastern
equatorial Pacific, we evaluated the pCO2

sw–SST relationships in the NECC
and SEC by examining the latitudinal distribution of pCO2

sw. The pCO2
sw in

the SEC is remarkably larger than pCO2
air and the pCO2

sw in the NECC
nearly equal to pCO2

air. If we could not obtain a good pCO2
sw–SST relation-

ship, we divided the SEC and NECC of the eastern Pacific longitudinally
into a few regions where a good pCO2

sw–SST relationship was shown. The
longitudinal boundary in the eastern and central equatorial Pacific was a
mid-point between two meridional transects of shipboard observations. In
the central equatorial Pacific, if we observe the pCO2

sw–SST relationship for
the NECC, we divided the central Pacific into two regions. Longitudinally
we estimated the eastern edge of western Pacific warm pool (western equa-
torial Pacific) by examining pCO2

sw/SSS change against longitude. If we
could not obtain a good pCO2

sw–SST relationship, we divided western equa-
torial Pacific warm pool into two regions where a good pCO2

sw–SST rela-
tionship was shown. The equations used to estimate the pCO2

sw on the basis
of SST field are given in the Table A.1.
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Table A.1: pCO2
sw–SST relationship in the equatorial Pacific used in this

work.

January/February 1998 n r

Region I pCO2
sw(3.5) ¼ 50.7(11.6)+10.73(0.39)SST

(SST429 1C)
891 0.678

Region I pCO2
sw(4.8) ¼ 363.1 (SSTr29 1C) 833

Region II pCO2
sw(8.6) ¼ 354.5 510

pCO2
air
¼ 347.8(0.9) 891

Region III Inoue et al. (2002)a

Region IV Inoue et al. (2002)a

Region V Inoue et al. (2002)a

January/February 1999
Region I pCO2

sw(6.1) ¼ 269.7(4.7)+8.17(0.19)SST 498 0.888
Region I pCO2

sw(6.7) ¼ 1019.3(6.5)�24.49(0.25)SST 782 0.961
Region III pCO2

sw(5.3) ¼ 758.3(3.7)�12.77(0.14)SST 661 0.964
Region IV pCO2

sw(2.4) ¼ 1678.0(41.8)�47.69(1.53)SST 24 0.989
Region V pCO2

sw
¼ 362.1(7.5) 447

pCO2
air
¼ 354.4(2.9) 1280
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eas that provided a good pCO2

sw–SST relationship. The equations used in the
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November/December 1999
Region I pCO2

sw(14.6) ¼ 726.2(6.1)�12.17(0.28)SST 2268 0.678
Region II pCO2

sw(8.4) ¼ 777.6(7.1)�16.95(0.28)SST 666 0.918
Region III pCO2

sw(6.6) ¼ 932.7(8.3)�18.20(0.29)SST 556 0.936
Region IV pCO2

sw(4.9) ¼ 1182.5(42.5)�28.45(1.58)SST 48 0.936
Region V pCO2

sw(4.4) ¼ �180.1(67.8)+18.42(2.27)SST 178 0.522
Region VI pCO2

sw(3.4) ¼ �503.6(74.4)+28.50(2.51)SST 95 0.762
pCO2

air
¼ 355.9(1.3) 3426

January/February 2001
Region I pCO2

sw(20.2) ¼ 1202.4(46.2)�27.56(1.83)SST 517 0.552
Region II pCO2

sw(7.9) ¼ 1904.8(68.5)�56.48(2.59)SST 252 0.809
Region III pCO2

sw(2.7) ¼ 264.2(13.3)+9.17(0.52)SST 469 0.635
Region IV pCO2

sw
¼ 472.3(3.9) 3566

Region V pCO2
sw(5.3) ¼ �727.9(54.9)

+98.35(3.93)SST�2.03(0.07)SST2
985 0.980

Region VI pCO2
sw(2.5) ¼ 1886.0(87.4)�54.18(3.17)SST 16 0.977

Region VII pCO2
sw
¼ 371.1(4.0) 182

pCO2
air
¼ 356.0(1.3) 5259

November 2001/February 2002
Region I pCO2

sw(19.1) ¼ 742.3(9.0)�12.92(0.41)SST 3025 0.498
Region II pCO2

sw(9.8) ¼ 570.6(5.3)�8.43(0.21)SST 1156 0.767
Region III pCO2

sw(7.7) ¼ 910.8(20.5)�16.82(0.72)SST 408 0.757
Region IV pCO2

sw
¼ 368.5(8.6) 596

pCO2
air
¼ 358.5(1.7) 4643

October 2002/January 2003
Region I pCO2

sw
¼ 450.4(14.1) 2211

Region II pCO2
sw
¼ 352.5(2.8) 359

Region III pCO2
sw(4.5) ¼ 651.4(6.9)�10.79(0.26)SST 549 0.869

Region IV pCO2
sw(4.0) ¼ 1041.3(13.7)�21.50(0.48)SST 355 0.923

Region V pCO2
sw(2.9) ¼ �211.2(6.5)+19.41(0.22)SST 592 0.965

Region VI pCO2
sw(3.3) ¼ 9.9(9.3)+12.36(0.32)SST 905 0.793

pCO2
air
¼ 359.8(1.4) 4077

pCO2
sw–SST relationship: The standard error of analysis (in matm) is listed in parentheses

after each pCO2
sw, the standard error for the coefficient and intercept are in parentheses after

coefficient and intercept, n is the number of data, and r is the correlation coefficient.
pCO2

air: Average value during the cruise and standard deviation from the average are listed
in parentheses. Some pCO2

sw are listed in the same manner.
apCO2

sw data were estimated on the basis of Table 1 by Inoue et al. (2002).

Table A.1 (Continued )

January/February 1998 n r
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Abstract

Our current understanding of how climate change due to increasing greenhouse gases is

expected to affect oceanic biology and of how the physical–biological feedbacks may influence

the evolving physical climate system is summarized. The primary effects of ocean biology on

physical climate include its influence on the carbon cycle, the influence of oceanic phyto-

plankton on upper-ocean absorption, and the influence of DMS production by phytoplankton

on atmospheric aerosols. The primary influences of physical climate on the ocean biology are

the influence of aoelian dust deposition and the multitude of ways that community structure

can be altered. The focus is on the tropical and midlatitude Pacific Ocean, with results from

other ocean basins also noted.
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1 Introduction

As greenhouse gases continue to increase in the global atmosphere, the
coupled climate system will continue to adjust to these changes in radiative
forcing in many ways. Among these coupled adjustment processes are pos-
sible changes in the physical–biological coupling of the ocean-atmosphere
climate and the oceanic ecosystem. In what ways can ocean biology affect
changes in physical climate? How might these coupling processes affect the
future climate state?

We aim here to summarize the feedback processes among the ocean, the
atmosphere, and oceanic biology in the context of how these feedbacks will
affect or be altered by global warming scenarios in the Pacific sector. We
draw on modeling studies and available observations in key regions of the
world ocean, including the tropical Pacific and the midlatitude regions of the
northern and southern hemispheres.

2 Ocean Biotic Feedbacks with Centennial
Climate Change

Our ability to predict the impacts of global warming is limited by a number
of key uncertainties, significant among which is the role of biotic feedbacks
(IPCC, 2001). The response of biota in the surface ocean is particularly
pertinent and still not well understood. However, the potential for multiple
feedbacks between climate, ocean circulation and mixing, and photosyn-
thetic primary production has been manifestly evident for some time
(Falkowski et al., 2000; Gildor and Follows, 2002). Indeed, the oceans are
estimated to have taken up approximately 30% (with great uncertainty) of
CO2 emissions arising from fossil-fuel use and tropical deforestation be-
tween 1980 and 1989, thereby slowing down the rate of greenhouse global
warming (Ittekkot et al., 1996).

Although the ocean biota compartment is estimated to contain only
around 3 Gt C, the flux from the dissolved inorganic reservoir to the par-
ticulate organic phase (carbon uptake through primary production) is
around 10 Gt C yr�1 (Siegenthaler and Sarmiento, 1993). Thus the size of
marine biota carbon reservoir is much smaller than the fluxes in and out the
reservoir. Elsewhere in the global carbon cycle, the reservoirs are much
larger than the fluxes. This implies that any changes in the activity of this
reservoir can mean substantial changes in the fluxes to related reservoirs.
An especially important flux in the oceans is the burial of particulate or-
ganic carbon in marine sediments, which removes atmospheric CO2 for
prolonged time periods. Fig. 1 schematizes the major carbon reservoirs and
flux directions in the global carbon cycle.
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Photosynthesis, the major process by which marine biota sequester CO2,
is largely controlled by the availability of macronutrients and trace elements
such as iron (de Baar et al., 1995; Behrenfeld et al., 1996; Coale et al., 1996;
Falkowski et al., 1998). Changes in freshwater runoff or increases in aeolian
dust transport resulting from climate warming could change the inputs of
nutrients and iron to the ocean, thereby affecting CO2 sequestration.

Climate change can also cause shifts in the structure of biological com-
munities in the upper ocean – for example, between coccoliths and diatoms.
In the Ross Sea, diatoms (primarily Nitzshia subcurvata) dominate in highly
stratified waters, whereas Phaeocystis antarctica dominate when waters are
more deeply mixed (Arrigo et al., 1999). Changes to ocean stratification
could impact species composition and alter the downward fluxes of organic
carbon and consequently the efficiency of the biological pump.

Several coupled atmosphere-ocean models have been used to project the
effect of climate change on marine biota (Sarmiento et al., 1998; Joos et al.,
1999; Gabric et al., 2003; Pierce, 2003). These models include some or all of
the processes associated with carbonate chemistry and gas exchange, phys-
ical and biological uptake of CO2, and changes in temperature, salinity, wind
speed, and ice cover. They account for simple changes in biological produc-
tivity, but not for changes in external nutrient supply, or changes in the
biogeography of planktonic species, which is a major deficiency as they thus
cannot simulate more complex biological feedbacks (Gabric et al., 2003).

Figure 1: Schematic diagram of the major reservoirs and flux directions of
the global carbon cycle.
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The range of model estimates of the climate change impact is dependent on
the choice of scenario for atmospheric CO2 and on assumptions concerning
marine biology. At high CO2 concentrations, marine biology can have a greater
impact on atmospheric CO2 than at low concentrations because the buffering
capacity of the ocean is reduced (Sarmiento and Quéré, 1996). Although the
impact of changes in marine biology is highly uncertain and many key proc-
esses are not included in current models, sensitivity studies can provide ap-
proximate upper and lower bounds for the potential impact of marine biology on
future ocean CO2 uptake. A sensitivity study of two extreme scenarios for nu-
trient supply to marine biology gave a range of 8–25% for the reduction of CO2

uptake by mid-21st century (Sarmiento et al., 1998). This range is comparable
to other uncertainties, including those stemming from physical transport.

3 Ocean–Atmosphere – Ecosystem Feedback
Processes

Climate feedback processes can be broadly divided into two categories: geo-
physically mediated, where only the physical climate system is important,
and biogeochemically mediated, where various biospheric and geochemical
components become important as well (Lashof, 1989). Examples of the first
category include water vapor feedback, the sea-ice/solar albedo feedback and
various cloud feedbacks. Examples of the second category include changes in
upper-ocean absorption due to phytoplankton and changes in community
structures that affect CO2 cycling and storage. The biogeochemical feed-
backs that affect changes in temperature, radiation, and moisture are the
most important since they have the most direct link to the physical climate
system (Woodwell et al., 1998).

Currently, most global climate models do not include biogeochemically
mediated feedback processes explicitly, such as the role of ocean ecosystems
and its impact on carbon cycle and climate variability. Important new ad-
vances, however, have allowed new progress in this direction as summarized
recently by Miller et al. (2003). We next explain the key processes by which
ocean biology may influence the physical climate system over timescales
relevant to global warming. Besides the effect of oceanic biology on altering
carbon cycling and sequestration (Boyd and Doney, 2003), these processes
include the effects of phytoplankton on upper-ocean absorption of radiation
and the production of DMS aerosols by certain types of phytoplankton.
Physical forcing also affects the ecosystem in important ways. These include
changing the deposition of aeolian dust, which affects the limiting nutrient
iron in the ocean and changing community composition by altering the en-
vironment in the ocean. The next sections will summarize these issues,
including a final section on the local response of the North Pacific Ocean.
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4 Absorption of Radiation by Phytoplankton in
the Upper Ocean

The effect of the absorption of solar energy by phytoplankton on upper-ocean
thermal properties has been the subject of research for the past 20 years.
While absorption of solar energy is dominated by absorption from seawater
itself in many open ocean regions, the variability in the absorption and dis-
tribution of solar energy into the upper layers of the open ocean is controlled
primarily by phytoplankton pigment concentrations (Platt, 1969; Smith and
Baker, 1978). Lewis et al. (1983) were the first to demonstrate that nonuni-
form vertical distributions of phytoplankton pigments cause variations in
local heating, and, under certain vertical chlorophyll profile conditions, could
support the development of a thermal instability within the water column.

Initial attempts (Paulson and Simpson, 1977) at addressing the effects of
varying water quality types [as described by Jerlov (1968)] on the attenu-
ation of irradiance in the ocean lead to a simple parameterization that char-
acterizes absorption between the longwave and shortwave (visible) bands of
solar energy using different e-folding scales, and set the e-folding scale of the
shortwave band dependent on the water quality type. This parameterization
has commonly been used to provide buoyancy forcing in one-dimensional,
ocean surface mixed-layer models (Price et al., 1986; Schudlich and Price,
1992). More sophisticated methods to estimate the solar energy flux into the
ocean resolve the depth- and wavelength-dependent spectral diffuse atten-
uation coefficients (Siegel and Dickey, 1987; Morel and Antoine, 1994), and
Siegel and Dickey (1987) have shown that this method greatly improves the
ability to compare observed irradiance fields to model estimates.

The first work to directly address the link between ocean thermo-
dynamics and bio-optical processes (Simonot et al., 1988) coupled the bulk
mixed-layer model of Gaspar (1985, 1988) to a simple, nonspectral, diffuse
attenuation model for solar energy attenuation and a six-component eco-
system model (Agoumi et al., 1985). Results on simulations of the seasonal
cycles at Ocean Weather Station Romeo show that the phytoplankton sea-
sonal cycle has a significant impact on sea surface temperature evolution.

While early modeling studies all agreed that chlorophyll attenuation
plays an important role in ocean physics, few direct observations had been
available to confirm this. However, during the coastal transition zone field
study along the California coast, Ramp et al. (1991) interpreted observations
of a surface warming feature during a wind relaxation event to be caused by
patchiness in the near surface chlorophyll distribution. The first notion that
this biological–physical process acted on equatorial ocean regions was pre-
sented by Sathyendranath et al. (1991), who argued that chlorophyll
patches were important driving mechanisms for variations in sea surface
temperature. Such sea surface temperatures (SST) anomalies have been
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shown (Kershaw, 1985) to influence the evolution of Arabian Sea monsoons.
Additionally, Kahru et al. (1993) presented evidence from AVHRR satellite
analysis and in situ observation to show that cyanobacteria blooms in the
Baltic Sea were responsible for elevating the SST to 1.51C. Global analysis of
the ocean color fields in the tropical Pacific Ocean (McClain et al., 2002) also
verified that enhanced chlorophyll regions were linked with enhanced sur-
face-layer heating. Further evidence of the impact of phytoplankton on the
evolution of mixed layers is presented by Stramska and Dickey (1993), who
used bio-optical observations from a mooring off Iceland in conjunction with
a version of the Mellor-Yamada two-and-a-half layer mixed layer model
(Mellor and Yamada, 1982) to show that the importance of this coupling is
most significant in regions of high chlorophyll and weak vertical mixing.
One such region is the equatorial region of the ocean, where high solar
fluxes are collocated with low wind speed ‘‘doldrums’’ (Fig. 2a) and high
chlorophyll equatorial upwelling regions (Fig. 2b).

In the western warm pool (WWP) region of the Pacific Ocean, Siegel et al.
(1995) demonstrated that the amount of solar radiation penetrating through
the bottom of the mixed layer (�23 W m�2 at 30 m) is a large fraction of the
net air–sea heat flux (�40 W m�2). Following a period of sustained westerly
wind burst and a corresponding near 300% increase in mixed-layer chloro-
phyll concentrations, the resulting biologically mediated increase in solar
energy attenuation created a decrease in energy flux across the mixed layer
(5.6 W m�2 at 30 m) and supported a mixed-layer heating rate of 0.13 1C per
month. In the same year, Ramanathan et al. (1995) believed that a discrep-
ancy occurred within the computed heat balance of the ocean-atmosphere
energy budget in the western equatorial Pacific and that this discrepancy
was due to ‘‘A Missing Physics’’ which would modify the manner and impor-
tance of cloud absorption of solar energy. Arguments were presented that this
Missing Physics was in fact related to the manner in which solar radiation
penetrates through the bottom of the mixed layer in this clear water region
(M. R. Lewis, private communication). Further evidence has largely dis-
missed the claims of Ramanathan et al. (1995), and the importance of prop-
erly attenuating solar energy into the water column is now widely accepted.

The importance of characterizing the penetrative fluxes of solar energy
through the upper-ocean mixed layer and into the permanent pycnocline
prompted Ohlmann et al. (1996) to carry out a global analysis of the mag-
nitude of this flux. The global map of these fluxes (Fig. 3) shows high net
solar fluxes (10–25 W m�2) in the equatorial Pacific and Indian Oceans re-
gions. The values are highest at the eastern regions of the equatorial Pacific
Ocean, where heat below the pycnocline is transported west to the Pacific
arm pool regions. How variations in these fluxes are linked to El Niño
southern oscillations (ENSO) dynamics is still unknown, but storage of heat
below the mixed layer can tie up heat energy until winter ventilation/mixing
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Figure 2: (a) January mean of Oberhuber atlas surface wind field. Note the
low wind speeds near the equatorial Pacific and Indian Ocean regions.
(b) SeaWiFS annual mean 2 � 2 degree binned climatology. Note the high
chlorophyll values in the eastern equatorial Pacific (For colour version, see
Colour Plate Section).

Global Change and Oceanic Primary Productivity 33



processes entrain it back into the mixed layer. Further demonstrations of
the importance of bio-optical forcing (Ohlmann et al., 1998), using data
collected from the western Pacific warm pool during TOGA-COARE and
mixed-layer model simulations, noted also that increases in the penetrative
heat loss to below the mixed layer resulted in a destabilization of the
thermocline and a deepening of the mixed layer – creating a feedback
mechanism for ocean heat flux and mixed-layer depths (MLDs) that are
modified through chlorophyll concentrations.

An additional link was made between clouds and ocean heat flux proc-
esses by Siegel et al. (1999) who show that under cloudy sky conditions the
near UV to green fraction of the solar spectrum is less absorbed than the rest
of the solar energy spectrum. This allows a greater fraction of the total en-
ergy to penetrate further into the water column. At 0.1 m depth, this relative
increase can be as high as a factor of 2 and likely influences the diurnal heat
balance by altering the upper most ocean layer daily heat balances, and could
alter the local heat budgets on longer timescales when taking into account
the effects on the ocean-atmosphere latent, sensible and back radiation
terms. A more recent effort using observations from the hyperspectral ocean
dynamics experiment (HYCODE) and a radiative transfer model shows that
the rate of heating in a coastal region water column can increase by �0.2 1C
(13 h)�1 during high chlorophyll conditions (Chang and Dickey, 2004).

The majority of the research in the 1990s focused on demonstrating the
importance of bio-optics in modifying the vertical flux of heat in the upper
ocean. Links between bio-optical forcing of the upper-ocean thermal structure
and horizontal momentum forcing only began to appear in the early part of
this millennium. Edwards et al. (2001, 2004) used steady-state forms of the
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Figure 3: Modeled climatological values of the net solar flux at the base of
the deepest monthly mixed layer (W m–1 m–1). Values correspond to solar
fluxes entering the permanent pycnocline. Largest values exist where the
deepest monthly mixed layer and chlorophyll concentration are low and
solar flux is high. From Ohlmann et al. (1996) (For colour version, see Colour
Plate Section).
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momentum equation in conjunction with an analytical description of a high
concentration band of phytoplankton biomass (chlorophyll) to ascertain the
effect of chlorophyll on ocean circulation patterns. The results demonstrated
that the presence of chlorophyll in the water has an impact on ocean circu-
lation, creating both horizontal currents and bands of upwelling and down-
welling in regions near the chlorophyll/biomass front. Gildor et al. (2003),
in another modeling study, used a simple atmospheric model for climate
coupled to a nitrogen–phytoplankton–zooplankton (NPZ) model (Edwards
and Brindley, 1999) to demonstrate that intraseasonal variations in SST and
precipitation could be forced by inherent oscillations of an ecosystem.

Recent results from coupled circulation/bio-optical models have demon-
strated the significance of biological feedbacks with the ocean climate.
Phytoplankton pigment concentrations derived from the coastal zone color
scanner (CZCS) were used by Nakamoto et al. (2000) to force an isopycnal
ocean circulation model coupled to a mixed-layer model to show that the
higher chlorophyll concentrations in October versus May increased the
amount of solar energy absorption and the rate of heating in the upper
ocean. These changes lead to a decrease in MLDs, a decrease in water tem-
peratures beneath the mixed layer, and an increase in surface mixed-layer
temperature. Comparison simulations of the equatorial Pacific (Nakamoto
et al., 2001) using a similar coupled isopycnal-mixed layer ocean circulation
model and forced with and without chlorophyll (CZCS-derived pigments)
demonstrated that the presence of the chlorophyll leads to shallower mixed
layer in the equatorial Pacific, which generates anomalous westward geo-
strophic currents north and south of the equator. In the western equatorial
Pacific, the anomalous currents enhance the equatorial undercurrent
(EUC). The biologically enhanced EUC leads to anomalous upwelling in
the eastern equatorial Pacific, while the spatially averaged SST over the
Pacific increases due to heat trapped by phytoplankton in the upper ocean.
Using sea-viewing wide field-of-view sensor (SeaWiFS)-derived chlorophyll
pigment data in the MIT global ocean model, Ueyoshi et al. (2003) confirmed
the process described by Nakamoto et al. (2001) whereby chlorophyll mod-
ulates oceanic heat uptake by radiation and subsequently generates biolog-
ically induced currents in the equatorial Pacific.

Shell et al. (2003) forced an atmospheric general circulation models
(GCM) with the SST pattern that arises from this phytoplankton effect and
showed that the amplitude of the global surface-layer atmospheric temper-
ature seasonal cycle increases by roughly 0.51C. Frouin and Iacobellis (2002)
estimated that phytoplankton serves to warm the global atmosphere by up to
0.25 1C, supporting the idea that phytoplankton exerts a significant influence
on large-scale climate variability. Oschlies (2004) showed that surface heat
fluxes act as a negative feedback to reduce the absorptive warming effects of
phytoplankton in the upper ocean of a fully interactive physical–biological
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model. Manizza et al. (2005) used a fully coupled physical–biological ocean
model to show that phytoplankton biomass amplifies the seasonal cycles of
SST, MLDs, and ice cover by roughly 10%.

Attenuation of solar energy into the ocean using diffuse attenuation
coefficients has been used for a variety of ocean modeling studies. Rochford
et al. (2001) developed a global field for the diffuse attenuation kPARof pho-
tosynthetically available radiation (PAR) – the visible portion of the solar
energy spectrum that is not absorbed in the first several centimeter of water
column – using data from the SeaWiFS. The diffuse attenuation field was
used in the finite depth version of the NLOM global ocean circulation model
with an embedded mixed layer to determine the sensitivity of the model
solutions to the diffuse attenuation fields. The results demonstrated that
using the derived SST prediction improved in the low latitude regions but
the MLD predictions showed no significant improvement. In addition, using
a constant clear ocean kPARvalue of 0.06 m�1 produces reasonable results for
much of the global ocean regions.

In a similar study using a primitive equation, global ocean circulation/
mixed layer model forced with spatially varying radiation attenuation co-
efficients derived from CZCS data, Murtugudde et al. (2003) show that the
results from such coupled models can be counterintuitive. For instance, in
the eastern equatorial Pacific, where the presence of high chlorophyll leads
to strong attenuation of solar energy, realistic solar energy attenuation
leads to increased subsurface loss of solar energy, increased SST, deeper
mixed layers, reduced stratification, and horizontal divergence (upwelling/
downwelling). Timmermann and Jin (2002), using a dynamic ENSO model,
point out that eastern equatorial Pacific ocean chlorophyll blooms during La
Nina periods create a temperature regulating negative feedback that redis-
tributes heat into the surface layer and the associated results from the
air–sea coupling dampens the La Nina conditions. This mechanism is
thought to counter the positive Bjerknes atmosphere-ocean feedback that
links La Nina events with stronger trade winds that force stronger upwell-
ing leading to the intensification of La Nina conditions.

More sophisticated attempts to link the role of ocean biological feedback
mechanisms are just beginning to emerge and support the notion that bi-
ological effects enhance ENSO variability. Marzeion et al. (2005) used a
primitive equation ocean model with a dynamic ocean mixed layer and a
nine-component ecosystem model coupled to an atmospheric mixed-layer
model and a statistical atmospheric model to investigate the feedback be-
tween chlorophyll concentrations and the ocean heat budget in the tropical
Pacific. The results from this study supported the earlier conclusions by
Timmermann and Jin (2002) of a bioclimate feedback mechanism and ear-
lier results describing the possible effects on the surface ocean currents
(Murtugudde et al., 2003). The results present a scenario where subsurface
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chlorophyll concentrations force changes in subsurface heating rates and
leading to changes in subsurface heating, mixed-layer deepening, altera-
tions in surface ocean currents, and ultimately supporting an eastern Pacific
surface warming.

The most recent version of the community climate system model under
development at NCAR and the NASA MOM4 model is making use of the
observed spatially varying diffuse attenuation obtained from ocean color
estimates (Fig. 4). Future global climate simulations will be taking this
physical–biological feedback mechanism into account (Ohlmann, 2003).

5 Production of Atmospheric DMS by Oceanic
Phytoplankton

Dimethylsulfide (DMS) is the most abundant form of volatile sulfur (S) in the
ocean and is the main source of biogenic reduced S to the global atmosphere
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Figure 4: The 2� 2 degree annual mean SeaWiFS-derived diffuse attenua-
tion coefficient [m-1] field for PAR (For colour version, see Colour Plate
Section).
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(Andreae and Crutzen, 1997). The sea-to-air flux of S due to DMS is currently
estimated to be in the range (15–33) Tg S yr�1, constituting about 40% of the
total atmospheric sulfate burden (Chin and Jacob, 1996). At the hemispheric
scale (Gondwe et al., 2003) estimate that seawater DMS contributes 43% of
the mean annual column burden of non-sea-salt sulfate (nss-SO4

2�) in the
relatively pristine southern hemisphere, but only 9% in the northern hem-
isphere, where anthropogenic sulfur sources are overwhelming.

During its synthesis and cycling in the upper ocean, DMS is ventilated to
the atmosphere, where it is rapidly oxidized to form nss-SO4

2� and meth-
anesulfonate (MSA) aerosols. Sulfate aerosols (of both biogenic and ant-
hropogenic origin) play an important role in the earth’s radiation balance
both directly through scattering, absorption, and reflection of solar and ter-
restrial radiation, and indirectly, by modifying cloud microphysical proper-
ties (Charlson et al., 1992). The flux of DMS from the ocean to the
atmosphere is an important concern for atmospheric modelers since the net
effect of DMS is believed to be a cooling effect for the global climate (Kiene,
1999). While wind forcing is known to control the piston pumping velocity of
DMS gas across the air–sea interface (Liss and Slater, 1974), the percent
yield of DMS from DMSP (100�DMSProduction Rate=DMSPConsumption Rate) is
well correlated to MLDs (Simó and Pedrós-Alló, 1999). Combining this re-
lationship with the global climatologies of MLDs produces a map demon-
strating the seasonal and global variability of this efficiency (Fig. 5).
Combining these estimates with estimates of the air–sea flux of DMS (Bates
et al., 1987a) may have some potential for gaining additional insight in the
level of net DMS production in the ocean. In addition to seasonal variations
in DMS production, ecosystem changes in the Pacific equatorial regions are
now known to undergo spatial and temporal variations that are linked to
larger scale climate variations such as ENSO (Karl et al., 1995). Such var-
iability should also impact the production level of DMS and its associated
air–sea flux.

Various phytoplankton species synthesize differing amounts of dime-
thylsulfoniopropionate (DMSP), the precursor to DMS. The function of
DMSP in algal physiology seems to be varied, and it is thought to act as an
osmolyte, a cryoprotectant, and also relieve oxidative stress in the algal cell
(Kirst et al., 1991; Liss et al., 1993; Stefels, 2000; Sunda et al., 2002). In
general, coccolithophorids and small flagellates have higher intracellular
concentrations of DMSP.

It is well established that the oceans are highly supersaturated in DMS
with respect to atmospheric concentrations (Barnard et al., 1982; Liss et al.,
1993). In fact, DMS is so supersaturated that recent field experiments on
air–sea CO2 gas flux have used the flux of DMS as a proxy signal to
sparameterize the physical process of air–sea gas transfer (Dacey, private
communication, 2003). Vertical profiles of DMS in the Sargasso Sea (Dacey
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et al., 1998) show a marked subsurface 10 m maximum. A comparison of the
depth-integrated annual cycle of DMS, chlorophyll, and primary production
rates in this region shows that DMS concentrations peak in late summer
(August) when both chlorophyll and primary production rates are lower
than their earlier spring maximum values – suggesting that DMS produc-
tion by phytoplankton is not directly linked to photosynthetic processes and
may be due to release from grazing by zooplankton (Leck et al., 1990).
However, correlations between algal biomass and DMS concentrations have
been found for dinoflagellate and coccolithophore blooms (Leck et al., 1990).
Because of these obvious complexities, attempts to model the production of
DMS (Gabric et al., 1993) in ecosystem models have included both direct
(primary production) and indirect (grazing) sources. Refer to Lee et al.
(1999) for a recent review of DMS in aquatic environments.

Shaw (1983) and then Charlson et al. (1987) [notably called the ‘‘CLAW
Hypothesis,’’ derived from the first letters of the author’s last names], pos-
tulated links between DMS, atmospheric sulfate aerosols, and global
climate. It was hypothesized that global warming would be accompanied
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Figure 5: DMS percent yield climatologies estimated using observed MLD
climatologies from the NODC XBT data set and the Simo and Pedrós-Alló
(1999) DMS yield relationship (For colour version, see Colour Plate Section).
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by an increase in primary production, and biogenic production of DMS-
derived sulfate aerosols leading to increased scattering, more cloud conden-
sation nuclei (CCN), and brighter clouds. Such changes in the atmosphere’s
radiative budget would cool the earth’s surface and thus stabilize climate
against perturbations due to greenhouse warming. While phytoplankton is
the protagonists in this feedback loop, recent advances in understanding the
complex cycle of DMS suggest that it is the entire marine food web (Fig. 6)
that determines net DMS production and not just algal taxonomy (Simó,
2001).

The emission of DMS and aerosol particle concentrations is well corre-
lated across varying latitudes and seasons (Bates et al., 1987b). However,
Schwartz (1988), in a comparison between southern (SH) and northern
hemisphere (NH) cloud albedo records, argues that the CLAW hypothesis is
not valid since the anthropogenically introduced sulfur aerosols in the NH
should have created a noted increase in cloud albedo over the past century
and none were observed. The debate on the CLAW hypothesis continues to
date (Sherwood and Idso, 2003).

The DMS-climate feedback hypothesis has stimulated a very significant
research effort. Several large-scale studies inspired by the International
Global Atmospheric Chemistry program (IGAC) have addressed aspects
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of the DMS–aerosol–climate connection, including ASTEX/MAGE (Huebert
et al., 1996), ACE-1 (Bates et al., 1998), and AOE-91 (Leck et al., 1996). A
global database of DMS seawater concentrations and fluxes has been com-
piled (Kettle et al., 1999; Kettle and Andreae, 2000), and more recently, a
simple empirical algorithm relating DMS seawater concentration to the
oceanic MLD and surface chlorophyll concentration has also been derived
(Simó and Dachs, 2002).

Notwithstanding this progress, the quantitative evaluation of the DMS-
climate hypothesis remains a daunting challenge. This is due in part to the
need to integrate knowledge across the traditional disciplinary boundaries
of ecology, oceanography, and atmospheric science but also due to our in-
complete understanding of the DMS marine production cycle.

General circulation models predict the planet’s mean temperature will
increase under the ‘‘business as usual’’ scenario (Houghton et al., 1996). The
most recent estimate of average warming for a doubling of CO2 is 3.370.8 1K
(Grassl, 2000). However, there is strong spatial variation in this perturba-
tion, with large temperature and salinity changes predicted to occur in the
polar oceans (e.g., Hirst, 1999). The associated warming and salinity reduc-
tion is generally accompanied by a shallowing of the oceanic mixed layer,
and stronger illumination of the upper water column, both of which can
affect the food-web dynamics and consequently DMS production (Gabric et
al., 2001a). It is pertinent to note that the Simó and Dachs’ algorithm em-
ploys an inverse relation between MLD and DMS concentration, suggesting
that DMS seawater concentration is likely to increase under global warming.

Attempts to assess the direction and magnitude of the DMS-climate
feedback (Foley et al., 1991; Lawrence, 1993; Gabric et al., 2001b) indicate a
small-to-moderate negative feedback on climate (stabilizing), with magni-
tude of order 10–30%, and considerable regional variability. The results of
the use of GCM data to force a DMS model in the Antarctic Ocean under a
global warming scenario suggests that significant perturbation to the DMS
flux will occur at high latitudes (Gabric et al., 2003). Fully coupled climate
and biogeochemistry models (Joos et al., 1999; Cox et al., 2000) are the next
step in further unraveling the DMS-climate link.

6 Deposition of Aeolian Dust on the Ocean by
the Atmosphere

Aeolian dust deposition over the oceans provides a biogeochemical link be-
tween climate change and terrestrial and marine ecosystems (Ridgwell,
2002). A major natural source of new iron to open ocean surface waters is
continentally derived aeolian dust, which supplies about three times the
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fluvial input (Duce and Tindale, 1991). In situ iron-fertilization experiments
have been conducted in both the equatorial Pacific [IronEx I (Martin et al.,
1994) and IronEx II (Coale et al., 1996) and Southern Ocean (SOIREE (Boyd
and Law, 2001))]. On all three occasions, raising the iron level in the water
by a few nanomoles per liter produced a significant increase in phytoplank-
ton biomass. During IronEx II, the increase was at least an order of mag-
nitude. Iron-limited high nutrient low chlorophyll (HNLC) regions comprise
approximately 30% of the world ocean and include the Southern Ocean (de
Baar et al., 1995). The majority of iron deposition to the ocean occurs in the
NH and is principally associated with dust export from the major arid zones
such as the Sahara and Taklamakan Deserts (Fig. 7). The North Atlantic
and North Pacific Oceans receive 48% and 22% of global iron deposition to
the oceans, while the Indian Ocean (principally in the Arabian Sea) receives
18% and the Mediterranean Sea 4%. The South Atlantic and South Pacific
Oceans receive only 4% and 2%, respectively, while the polar regions in both
hemispheres also receive very low iron inputs, with the Arctic receiving only
0.9% and the Antarctic 0.5% (Gao et al., 2001).

The subantarctic Southern Ocean is an HNLC region, and it has been
suggested that deep mixing and the availability of iron limit primary produc-
tion. Australian mineral dust is high in iron content and can be transported

Figure 7: Contemporary annual mean dust deposition rate (Ginoux et al.,
2001 (For colour version, see Colour Plate Section)).
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over the Australian sector of the subantarctic Southern Ocean, particularly
during the austral spring and summer when dust storm frequency in southern
Australia is maximal. Recently, Gabric et al. (2002) reported evidence for a
coupling between satellite-derived (SeaWiFS) aerosol optical thickness and
chlorophyll concentration in the upper ocean. The coupling was evident at
monthly, weekly, and daily timescales. The shorter timescale coupling sup-
ports the hypothesis that episodic atmospheric delivery of iron is stimulating
phytoplankton growth in this region.

Long-term climate variability may also be related to variation in dust
deposition rates. Evidence for a possible influence on the glacial–interglacial
variability of atmospheric CO2 comes from the observed changes in dust
deposition, recorded in the 420 kyr Vostok Antarctic ice core (Petit et al.,
1999). The concentration of dust contained within the ice exhibits a series of
striking peaks against a background of relatively low values. Intriguingly,
the occurrence of these peaks correlates with periods of particularly low
atmospheric CO2 values. It has been hypothesized that enhanced dust sup-
ply to this region during the last glacial could have driven a more vigorous
oceanic biological pump with consequent draw-down of atmospheric CO2

(Martin, 1990).
Numerical models of the global carbon cycle have since demonstrated

that realistic increases in the strength of the biological pump in the South-
ern Ocean are unable to explain glacial atmospheric CO2 mixing ratios as
low as �190 ppm. However, of the total �90 ppm deglacial rise in atmos-
pheric CO2, the initial 40–50 ppm occurs extremely rapidly (within just
�3 kyr) and up to 10 kyr before the collapse of the NH ice sheets. Predictions
of a carbon cycle model that explicitly accounts for the biogeochemical cy-
cling of Fe in the ocean, confirm that changes in the aeolian supply of Fe to
the Southern Ocean may be at least partly responsible for these particular
features of the CO2 record (Watson et al., 2000).

Interestingly, it has also been proposed that aeolian delivery of iron can
also influence the oceanic sulfur cycle and the oxidation of DMS in the
remote marine atmosphere. Zhuang et al. (1992) report that over 50% of the
total iron present in remote marine aerosols is in the soluble Fe(II) form,
which is readily available to phytoplankton. The photoreduction reaction
that produces Fe(II) in aerosols also produces the hydroxyl radical, which is
required for the oxidation of atmospheric DMS to MSA, and ultimately the
formation of CCN.

The fact that atmospheric Fe fluxes appear to play an important role
in ecosystem dynamics in many locations underscores the interwoven na-
ture of the links between climate change, the biogeochemical cycles of
carbon, nitrogen, and sulfur, and the potential for the oceans to sequester
carbon.
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7 Changes in Oceanic Community Composition
by Climate Changes

Much of the literature on future climate change has ignored the possible
ecological shifts and changes in the pelagic food web that may occur as the
oceans warm. These changes may have a strong and significant impact on
the feedbacks between ocean biology and the physical climate system. Be-
cause much of the expected change is dictated by what community is present
and where in the world the community is located, there are few universal
answers (Kennedy et al., 2002; Poff et al., 2002). The most important climate
forcings are direct thermal effects (e.g., temperature-induced changes in
metabolism), and indirect, thermal effects (e.g., changes caused by ther-
mally induced changes to the environment such as decreased upwelling).

Paleoecological studies can give us a clue to the potential for future
climate-change-induced ecological shifts. For example, the glacial iron hy-
pothesis conjectures that an increase in aeolian Fe deposition to the South-
ern Ocean during the last glacial maximum (LGM) stimulated primary and
export production (Kumar et al., 1995) resulting in a decrease in atmos-
pheric pCO2 (Martin, 1990). Evidence suggests that diatoms and cocco-
lithophorids did not play a prominent role in this increased production
(Howard and Prell, 1994; De La Rocha et al., 1998). One hypothesis that can
explain the increased production, as well as evidence for higher levels of
DMS-derived MSA, in ice cores during glacial times (Legrand et al., 1991), is
that the algal bloom-forming species responsible for the atmospheric pCO2

drawdown was a high DMSP-producing organism that has left no sedimen-
tary record (DiTullio et al., 2000; Moore et al., 2000). Increased abundance of
the colonial haptophyte P. antarctica (a high DMSP producer) during the
LGM would be consistent with the accumulated evidence.

Expectations that current temperature levels will rise in the coming
decades can be detrimental or favorable to specific members of the ocean’s
communities. Since there is a limit to the temperature rise in tropical waters
(based on limitations imposed by evaporative cooling), larger organismal re-
sponses will occur in temperate and higher latitude regions. Temperature
changes will directly affect an organism’s metabolism, growth, and fecundity
(among other things) and can be considered stressful as the temperature
moves outside the ‘‘normal’’ range for the organism. If the temperature
change is slow, it is possible that the organisms can shift their distributional
patterns to accommodate. In the case of dramatic changes in temperature or
where organisms cannot relocate to more acceptable climes, the result can be
reduced numbers or localized extinctions. Kennedy and Mihursky (1971)
demonstrated this in the laboratory using estuarine invertebrates subjected
to a short-term increase of 1 1C. In their experiments, mortality increased
from 0%, at the lower temperature, to 100% at the higher.
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Temperature increases can have positive effects related to increased
fecundity with temperature. In this case, some organisms will experience
a muting of seasonal declines in fecundity/abundance or year-round fecun-
dity/abundance increases. In both cases, the result will be a general annual
mean increase in numbers (assuming the temperature increase is suble-
thal). Of course, changes in abundance of specific species, caused by migra-
tion or increased fecundity/mortality, can fundamentally change the trophic
interdependencies in a particular region, leading to a change in the com-
position of the underlying community. Terming the increase in abundance
‘‘positive’’ may only make sense in a practical way for commercially impor-
tant species.

The temperature tolerance range of many species may delimit their ge-
ographical distribution, with populations shifting latitudinally in response
to shifting climatic zones. For example, recent large-scale changes in the
biogeography of zooplankton (specifically, calanoid copepods) have been de-
tected in the northeastern North Atlantic Ocean (Beaugrand et al., 2002;
Beaugrand and Reid, 2003). Strong biogeographical shifts in all copepod
assemblages were found with a northward extension of more than 101 in
latitude of warm-water species associated with a decrease in the number of
cold-water species. These changes were attributed to regional increase in
sea surface temperature.

Open ocean regions may be affected by changes in the thermohaline
pump, in which temperature-induced changes in density lead to mixing via
overturning of cold dense surface waters with less dense subsurface waters.
This mechanism is responsible for transport of oxygen and nutrients to the
deep ocean and would adversely impact organisms and communities in the
deep ocean. Carbon dioxide is also transported to the deep ocean, but a
slowdown would not affect deep-ocean organisms directly because there is
no light for CO2 photosynthesis and the pressures at depth disallow forma-
tion of carbonate structures. However, some suggest that decreasing trans-
port to depth would increase the amount of CO2 at the surface, decrease CO2

uptake by the ocean from the atmosphere, and exacerbate CO2 buildup in
the atmosphere. This is offset by those who believe that global warming will
lead to increased stratification of the surface waters, which would trap more
autotrophs at the surface causing an increase in photosynthesis and uptake
of CO2, which in turn would lead to uptake by the ocean of atmospheric CO2,
and a decrease in atmospheric CO2.

Several lines of evidence from the Hawaii Ocean Time Series and the
limited historical data suggest that N2 fixation is an important source of
new nitrogen for the open ocean ecosystems of the North Pacific Ocean (Karl
et al., 2001). These independent measurements and estimates during the
past couple of decades reveal increases in Trichodesmium (the dominate N2

fixer) population abundances, increases in the molar N:P ratio above the
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thermocline, and DIC drawdown in absence of nitrate and other forms of
fixed nitrogen. The nitrogen budget based on the data estimates and a one-
dimensional model calculation suggest that N2 fixation presently supplies
up to half of the nitrogen required to sustain particulate material export
from the euphotic zone, but this source of new nitrogen from the N2 fixation
process was much smaller before the 1980s. The increase in Trichodesmium
abundances and the high percentage of N2-supported primary production
indicate that the ocean ecosystems are not in steady state. The changing
ocean ecosystems are influenced by either oceanic variability, or a new
quasi-steady state established in response to the Pacific decadal variability
(Karl, 1999).

Changes in ocean circulation affects many aspects of ecosystems, in-
cluding such things as nutrient distribution patterns (via upwelling and
horizontal transport) and the transport of larvae and juveniles by currents.
If the location of flow changes or the timing of that location changes then
species may not arrive at spawning or nurturing grounds at optimal times
and losses can occur to the species itself or to grazer/predator populations
relying on that species. Seasonal timings between predator and prey species
can also be affected. Many zooplanktons spend winter at depth and rise to
the surface waters in the spring. Depending on the community the phyto-
plankton may bloom at altered times, changing the conditions which lead to
zooplankton growth when they reach the surface waters.

Contemporary ecological data indicate that planktonic populations can
respond extremely sensitively and quickly to ocean variability. Long-term
climate–plankton connections have been detected in the Pacific in the
CalCOFI program (e.g., Roemmich and McGowan, 1995) and in the North
Atlantic in the continuous plankton recorder (CPR) program (Colebrook,
1979). Phenological (seasonal) changes are also evident in the North Atlan-
tic CPR data, with some species reaching their seasonal peak up to 2 months
earlier in the 1990s compared to the long-term seasonal mean. The effects of
climate on plankton can take place on a worldwide scale and may be trans-
ferred from plankton to higher trophic levels; for example, by fish or bird
populations (Aebischer et al., 1990; Veit et al., 1996).

Analysis of long-term changes in phytoplankton, zooplankton, and
salmon in relation to hydrometeorological forcing in the northeast Atlantic
Ocean revealed significant relationships between (1) long-term changes in
all three trophic levels, (2) sea surface temperature in the northeastern
Atlantic, (3) NH temperature, and (4) the North Atlantic oscillation. The
similarities detected between plankton, salmon, temperature, and other
climatic parameters are also seen in their cyclical variability and in a step-
wise shift that started after a pronounced increase in NH temperature
anomalies at the end of the 1970s. Importantly, the changes flowed through
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the entire food web, with all biological variables showing a pronounced
change over a relatively short time. These changes started after circa 1982
with a decline in euphausiids, followed by an increase in total abundance of
small copepods, an increase in phytoplankton biomass (1984), a decrease in
the large zooplankter Calanus finmarchicus, and by 1988, a decrease in
salmon. It is interesting to note that such a scenario of a decline in her-
bivores and top predators has also been found in laboratory microcosm ex-
periments which simulated the impact of global warming on an aquatic
ecosystem (Petchey et al., 1999.).

Coastal regions are affected by warming in a number of ways including
changes in precipitation/runoff, flooding, changes in salinity and oxygen
content, and changes in circulation patterns. Precipitation changes affect
runoff, which directly affects nutrient concentrations in the estuarine and
nearshore coastal areas. In addition, runoff is also a primary source of pol-
lutants in these regions. Increased runoff can inoculate coastal runoffs
leading to increased blooms of phytoplankton. These blooms, in turn can
affect the communities by removing needed nutrients, upsetting the oxygen
balance, introducing toxins, and affecting the depth that light penetrates to.
Not all species are capable of taking advantage of a sudden influx of nu-
trients and these events tend to favor the larger phytoplankton whose large
surface area can absorb proportionally more nutrients. Because of this, un-
expected inputs of nutrients can lead to localized changes in the community
composition in short order. Timing and seasonality of community cycles can
consequently be disrupted.

Coral reefs exist in a balance between water clarity and light pene-
tration and occur at depths where the light penetration is optimal for
growth of the coral’s zooxanthellae symbionts. Should any climate-related
change translate to a decrease in light penetration then the coral, and their
reefs, will be jeopardized. Increases in CO2 can change the carbonate chem-
istry in the ocean, which can lead to decreases in the amount of carbonate
dissolved in the water. Since carbonate is the principal component in ‘‘hard’’
corals, an increase in CO2 will, and already has, lead to destruction of the
coral reefs. The coral reef community then is destroyed not only by loss of
the organisms but by loss of habitat in the form of the reefs laid down by
those organisms.

Changes in biodiversity, physiology, phenology, and geographic distribu-
tions of plankton will likely alter competitive interactions between species
and trophic levels and may radically affect the marine food web, sea-
to-atmosphere carbon fluxes, and nutrient recycling processes. However, as
pointed out by Falkowski et al. (1998), our present lack of mechanistic un-
derstanding of the multiple feedbacks between marine ecosystems and cli-
mate limits our ability to make quantitative predictions.
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8 Primary Productivity Response to Climate
Change in the North Pacific

The North Pacific is of special interest because of its societal importance in
supporting fisheries and because of the consequent effect of the downstream
response over North America to possible feedbacks involving the oceanic
biology. Changes in the physical environment of the North Pacific driven by
global climate change can be expected to have an important effect on the
primary productivity and the entire local ecosystems.

North Pacific primary productivity changes in response to global warm-
ing have been examined by driving a diagnostic NPZ model by the envi-
ronmental changes predicted by a global ocean-atmosphere-coupled general
circulation model (O-A GCM), as described in detail by Pierce (2003). The
physical environment parameters that affect the biological model are MLD,
solar insolation, water temperature, and Ekman upwelling at the base of the
mixed layer. Although feedbacks to the physical climate are not included in
this run, it provides a remarkable view of how the ocean biology may change
in the globally warmed world.

The physical parameters that drive the ecosystem model were obtained
from a climate change projection run of the parallel climate model (PCM)
(Washington et al., 2000). This uses the CCM3 global atmospheric general
circulation model run at T42 resolution (approximately 2.81 in latitude and
longitude), coupled to the parallel ocean program (POP) ocean model run at
2/31 resolution. The coupled model includes land surface, runoff, and sea ice
components, and is forced by a so-called ‘‘business as usual’’ (IS92a) scenario
of future CO2 and sulfur aerosol emissions. The PCM is relatively insen-
sitive to CO2 forcing (e.g., Allen et al., 2001); most other major coupled
climate models show larger global temperature increases by the year 2100
than does PCM.

A result of this simulation is illustrated in Fig. 8, which shows the ratio
of primary productivity in the decade of the 2090s over the decade of the
2000s. Growing season values (March through June) are used here (but see
below). The main effect of the changes in physical environment is to de-
crease the primary productivity in the shaded regions of Fig. 8. Detailed
analysis (Pierce, 2003) shows that these changes are forced primarily by
increased stratification (a consequence of the warmer surface temperatures)
leading to a decline in MLDs during the winter. The shallower MLDs keep
the NPZ system closer to equilibrium, with a consequent reduction in the
amplitude of the spring bloom. In other words, in the shaded regions of
Fig. 8, the decade of the 2000s has deep wintertime-mixed layers that are
associated with a sharp wintertime drop in phytoplankton (and conse-
quently zooplankton) concentrations. This is partly due to mixing a given
quantity of phytoplankton over a deeper layer and partly due to the lower
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average illumination levels in a deeper mixed layer. The rapid restratifica-
tion of the water column in spring holds the phytoplankton near the surface
in a well-illuminated region, and the depleted zooplankton cannot graze
sufficiently quickly to prevent a spring phytoplankton bloom.

In the 2090s, the shallower mixed layers keep the phytoplankton and
zooplankton populations more evenly populated year round, with, as a re-
sult, less of a spring bloom. It follows that productivity during the rest of the
year is somewhat higher in the shaded regions during the 2090s as com-
pared to the 2000s, but this is generally not enough to overcome the loss of
the spring bloom, resulting in a net yearly reduction of productivity over the
majority of the shaded region in Fig. 8. In the nonshaded regions of Fig. 8,
the general increase in temperature by the 2090s tends to increase primary
productivity. The overall result, then, is a combination of a modest, near-
uniform increase in productivity due to the warmer water combined with a
sharp loss of springtime productivity in the regions where warmer surface
waters cap the wintertime mixed layer in the future.

It should be kept in mind that this line of analysis does not include other
effects that will likely be important in the North Pacific, such as changes in
the relative number of species, some of which might be better adapted than
others to the changing environmental conditions. Also, future changes in the
biogeochemical environment (such as increased iron deposition from indus-
trial activity in east Asia) could have a strong effect as well.

This type of coarse resolution climate model is unable to resolve the
dynamics of ocean boundary current systems. Yet primary production in
these boundary currents, e.g., in the eastern boundary upwelling system of
the North Pacific, is an important contributor to the earth’s carbon budget.

Figure 8: Ratio of primary productivity in the decade of the 2090s over the
decade of the 2000s for the March through June growing season (Pierce,
2003).
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Bakun (1990) suggested, based on observational evidence, that the warming
of ocean temperatures associated with greenhouse conditions would lead to
an inhibition of nighttime cooling and enhancement of daytime heating near
the coast. This leads to an intensification of the continental thermal lows
adjacent to the upwelling systems. The increase in onshore–offshore atmos-
pheric pressure gradient would then be translated into an intensification of
the coastal upwelling winds. More recently this idea has gained observa-
tional and modeling support. Schwing and Mendelssohn (1997) report a
strengthening of upwelling favorable winds along the North Pacific eastern
boundary current. Snyder et al. (2003) find a significant increase in up-
welling favorable winds in a high-resolution regional climate model simu-
lation forced by greenhouse gases.

In contrast to these observations of increased upwelling favorable winds,
coastal observations over the last 50 years in the California Current System
reveal a transition towards conditions that are more typical of reduced up-
welling, such as a freshening of the surface waters in the coastal upwelling
boundary (Bograd and Lynn, 2003; Di Lorenzo et al., 2005) and a decline in
macrozooplankton abundance (Roemmich and McGowan, 1995). A possible
explanation for these seemingly contradictory lines of evidence involves the
observed increase in upper ocean stratification associated with warmer tem-
peratures. In this scenario, the stratification exerts a stronger control than
the winds on the ability of upwelling to supply subsurface nutrient-rich water
at the coast (McGowan et al., 2003). This hypothesis has been tested with an
eddy-resolving model of the coastal ocean driving a prognostic NPZ ecosystem
model (Fig. 9). Di Lorenzo et al. (2005) performed model experiments that
included as forcing conditions both the observed strengthening of the upwell-
ing winds and the warming trend over the last 50 years. The effect of the
increased stratification is strong enough in these experiments to inhibit the
otherwise upwelling favorable conditions. The model chlorophyll response in-
dicated a reduction in primary production in response to the combined effects
of upper-ocean heating and increased upwelling favorable winds (Fig. 9).

Chai et al. (2003) used a coarse-resolution ocean model hindcast to de-
termine that decadal climate variability has the largest impact on oceanic
biological variability in the central North Pacific, a region bounded by two
oceanographic fronts at approximately 30–321 N (Subtropical Front) and
42–451 N (Subarctic Front) in the central Pacific. This was based upon their
analysis of the response of the MLD and the Ekman pumping to Pacific
decadal variability. To extend this analysis and depict the possible changes
in the carbon budget, Fig. 10 shows the spatially averaged modeled TCO2

concentration for the central North Pacific (defined as follow: 351 N–451 N,
1701 E–1501 W).

The modeled monthly averaged TCO2 concentration in the central North
Pacific shows several scales of temporal variability between 1950 and 1993
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Figure 9: Time series of model surface Chl-a averaged over the eddy-
resolving California Current model coastal boundary within 50 km from the
coast. (a) Model experiment that include the strengthening of the upwelling
winds but no warming conditions. (b) Same as (a) but the warming condi-
tions are also included as forcing. See Di Lorenzo et al. (2005) for details of
the physical model experiments.
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(Fig. 10). First, the TCO2 has a strong seasonal cycle in the central North
Pacific, which is due to the seasonal cycle of upper-ocean physical conditions
and biological uptake. The second most pronounced temporal variability be-
tween 1950 and 1993 is the influence of Pacific decadal variability. For ex-
ample, the modeled TCO2 concentration is higher during the 1980s and early
1960s, and the values are lower during 1970s and late 1960s. One of the
reasons for the increase in modeled TCO2 concentration during the 1980s is
the change in ocean circulation and MLD in response to the wind pattern
changes in the central North Pacific. Chai et al. (2003) found that the mode-
led winter MLD shows the largest increase between 301 N and 401 N in the
central North Pacific (1501 to 1801 E), with a value 40–60% higher (deeper
mixed layer) during 1979–1990 relative to 1964–1975 values. They also found
that the winter and annual mean Ekman pumping velocity difference be-
tween 1979–1990 and 1964–1975 shows the largest increase located between
301 N and 451 N in the central and eastern North Pacific (1801 to 1501 W).

Beside the impact of decadal climate variability on the modeled TCO2

concentration, there is another temporal trend (increasing from 1950 to
1993) in the modeled TCO2 concentration in the central North Pacific. This
increase is due to anthropogenic effects because the model is forced with the

Figure 10: Time series of TCO2 (unit: mmol kg–1) in central north Pacific
(351–451 N, 1701–1501 W). Top panel shows the time series of surface TCO2

concentration. The lower panel shows the vertical profile of modeled TCO2

concentration from the surface to 250 m. The contour interval is 25 mmol kg–1

(For colour version, see Colour Plate Section).
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observed atmospheric pCO2 from 1950 to 1993, which increased signifi-
cantly during this period. In order to separate the anthropogenic uptake and
storage of CO2 from the natural cycle of climate impact, Chai et al. (private
communication, 2006) conducted a second experiment in which the atmos-
pheric pCO2 is fixed at 1950 values and other surface forcing are unchanged.
By comparing the results from this twin experiments, Chai et al. (2005)
estimated the anthropogenic uptake and storage of CO2 in the Pacific Ocean
solely due to the changing of atmospheric pCO2, eliminating the effects of
changing upper ocean circulation and mixing. The modeled anthropogenic
CO2 has a linear trend since 1950 with a surface-increasing rate of
0.57mmolkg–1y–1, which agrees with several independent estimates based on
the observations (Sabine et al., 2004).

9 Conclusion

We have summarized many aspects of our current understanding of how
climate change due to increasing greenhouse gases will affect oceanic bi-
ology and how the physical–biological feedbacks may influence the evolving
physical climate system. The primary effects of ocean biology on physical
climate were its influence on the carbon cycle, the influence of oceanic
phytoplankton on upper-ocean absorption, and the influence of DMS pro-
duction by phytoplankton on atmospheric aerosols. The primary influences
of the physical climate on the ocean biology were the influence of aoelian
dust deposition and the multitude of ways that community structure can be
altered. Our focus was on the tropical and midlatitude Pacific Ocean, al-
though results from other ocean basins were also noted.

The greatest need for building on our current understanding of these
processes is long-term physical and biological observations in the ocean-
atmosphere system. Modeling efforts must be constrained and instigated by
these observational programs, and the observational strategies must be
motivated by the model results as well. Since we still lack an adequate
depiction of present-day oceanic community structures, it is very difficult to
determine how they will change over time and how the climate feedbacks
will be affected. Physical–biological modeling efforts should be directed
to those few oceanic regions where we currently have a fair understanding
of what species are present and how they vary naturally over time,
such as the southern California Current System (CalCOFI region). We can
then assess our skills at and prediction based on data gathered in the com-
ing months or years. This will provide a fair assessment of our skills of
predicting the responses of oceanic biology and the physical climate feed-
backs on the centennial timescale of global warming.
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Abstract

In the global carbon cycle and related mapping based on satellite imagery program

(GCMAPS), daily primary production, integrated over the euphotic zone (IPP), was measured

around Japan for the validation of algorithms to estimate primary productivity derived from

satellite observations. A total of 176 measurements were made by simulated in situ deck-

incubations and a small number of in situ incubations, with inoculation of stable isotope
13C-bicarbonate, essentially according to the JGOFS protocol. IPP ranged from 30 mgC/m2/day
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in March in Oyashio-transition waters (subarctic) to 3,980 mgC/m2/day in May in continental

shelf waters of the East China Sea (ECS, subtropic Case II). IPP varied seasonally in

Oyashio-transition waters, with high values from April to August, and very low values from

September to March. In contrast, seasonal variations in IPP in other areas were not marked,

with a slight increase in May in Kuroshio waters (subtropic) and Tosa Bay (subtropic in-

shore), and in both May and August in ECS continental shelf waters. We estimated annual

primary production (gC/m2/year) to be 340 in ECS continental shelf waters, 280 in Tosa Bay,

200 in Oyashio-transition waters, and 110 in Kuroshio waters. Maximum primary production

per unit of chlorophyll a (PB
opt) tended to increase with temperature where sea surface

temperature (SST) was between 0 and 301C, but varied largely above about 161C in the

subtropics including Kuroshio waters, Tosa Bay, and ECS continental shelf waters. The

water-column light-utilization efficiency index increased as photosynthetically available

radiation (PAR) on the surface decreased in Oyashio-transition waters, Kuroshio waters, and

ECS continental shelf waters. We propose preliminary empirical relationships for estimating

IPP from standing stock of chlorophyll a (IPP) and surface PAR (integrated over a day), for

these three waters around Japan.

Keywords: primary production; simulated in situ method; 13C-spiked incubations;
seasonal variations; validation

1 Introduction

Primary production by phytoplankton supports biological processes and
fisheries production in the ocean (Ryther, 1969; Nixon, 1988). Carbon fix-
ation by photosynthesis in the euphotic zone acts as a biological pump to
transport CO2 from air to deeper layers, and is a key process in under-
standing global warming (Sarmiento and Toggweider, 1984; Duarte and
Cebrian, 1996). Ocean color observation by satellites is an effective tool for
exploring temporal and spatial variations in primary production at basin
and global scales (Geider and Osborne, 1992). Using the data derived from
the ocean color satellite sensor, Sea-viewing Wide Field-of-view Sensor
(SeaWiFS), Behrenfeld and Falkowski (1997) estimated the primary pro-
ductivity in the ocean, which was revealed to be equivalent to that of ter-
restrial forests. However, the dataset used for this estimation did not
include data from the western North Pacific and waters around Japan. It is
necessary to develop specialized algorithms for Japanese waters in order to
more accurately evaluate global primary productivity from satellite images
(Asanuma et al., 2000, 2001a, b; Kameda and Ishizaka, 2003).

Following the development of the 14C method by Steemann-Nielsen
(1952), measurement of primary production became routine for oceano-
graphic observations worldwide (Behrenfeld et al., 2002). In Japan, however,
legal restriction regarding the use of radioactive carbon 14C resulted in very
few measurements being made (e.g., Aruga and Monsi, 1962; Matsudaira,
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1964). After Hama et al. (1983) established a stable isotope 13C method, in
situ measurements of primary production have increased around Japan (e.g.,
Shiomoto, 2000; Imai et al., 2002). However, the accumulated in situ mea-
surement data are still insufficient for validation of algorithms around Japan.

This study aims to: (1) construct a dataset of primary production by in
situ or simulated in situ measurements for algorithm validation for data
from SeaWiFS operational periods, and (2) extract seasonal variations in
primary production using basin-scale comparisons around Japan. This
study was supported by the Japanese Ministry of Education, Culture,
Sports, Science and Technology (MEXT) as part of the Global Carbon Cycle
and Related Mapping based on Satellite Imagery Program (GCMAPS). All
data are available in the JGOFS North Pacific Process Study data set dis-
tributed by Japan Oceanographic Data Center.

2 Materials and Methods

2.1 Dataset of Primary Production Around Japan

The GCMAPS project constructed a dataset of primary production by
13C-spiked incubations in a wide range of Pacific Ocean environments,
ranging from equatorial to subarctic waters. Data collected included sam-
pling location, date, daily photosynthetically available radiation (PAR),
euphotic zone depth (from the surface to a depth where light levels equal 1%
of surface light), and temperature, relative irradiance, and chlorophyll a at
each sampling depth within the euphotic zone. This study used 176 mea-
surements from that dataset; these measurements are based on 24-h incu-
bations using an in situ or simulated in situ method, collected from April 1999
to March 2003, from subtropic to subarctic waters around Japan (Fig. 1).

2.2 Definition of Waters

Oyashio waters (subarctic), the Oyashio-Kuroshio transition, and Kuroshio
waters (subtropic) were distinguished according to Kawai’s (1972) definition,
using the temperature at a depth of 100 or 200 m. This study uses the term
‘‘Oyashio-transition waters’’ to describe the area including Oyashio waters
and the Kuroshio-Oyashio transition. A fixed station (lat 33112’54’’N, long
133123’36’’E) in Tosa Bay with a bottom depth of 100 m was located inshore
northwest of Kuroshio waters. The East China Sea (ECS, subtropic) was
divided into two regions (continental shelf waters and Kuroshio waters)
using a definition based on the temperature at a depth of 200 m (Kawai,
1972). The term ‘‘Kuroshio waters’’ as used in this study includes the
Kuroshio waters, the ECS, and Pacific inshore areas. ECS continental shelf
waters are a typical Case II, a group of water with higher chlorophyll a and
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suspended matters(Morel and Prieur, 1977) under the influence of Chinese
Coastal waters and the effluent from the Changjiang River. The dataset
consists of 48 measurements in Oyashio-transition waters, 46 in Kuroshio
waters, 18 in Tosa Bay, 58 in ECS continental shelf waters, and 6 in the
Japan and Okhotsk Seas (Table 1).

2.3 13C-Spiked Incubations and Calculations for Primary
Production

Primary production was measured via the in situ or simulated in situ in-
cubation method, essentially according to the Joint Global Ocean Flux Study
(JGOFS) protocol (Knap et al., 1996). Vertical profile of relative PAR in the
euphotic zone was estimated using transparency measured by Secchi disk
(Poole and Atkins, 1929) or directly measured with a PRR-600 Profiling

Figure 1: Measuring sites for primary production using a 13C spiked in-
cubation for 24 hours in Japan and Okhotsk Seas, Oyashio-transition
waters, Kuroshio waters, Tosa Bay, and continental shelf waters in the
East China Sea overlaid on an annual mean of chlorophyll a in 2002 derived
from SeaWiFS (http://www.seawifs.gsfc.nasa.gov/cgi/level3.pl/) (For colour
version, see Colour Plate Section).
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Table 1: Primary production and related parameters observed around Japan

Number Cruise Date Latitude
(1N)

Longitude
(1E)

1%
light
depth
(m)

Surface
temper-
ature
(1C)

Total daily
incident
PAR (E/

m2/d)

Surface
chlorophyll

a (mg/l)

Standing
stock of
chloro-
phyll a
(mg/m2)

PB
opt

(mgC/
mgChl/d)

Primary production Method Starting
time

Region

Surface
(mgC/m3/d)

Integrated
over

euphotic
zone (mgC/

m2/d)

1 TK9908 Aug. 8, 1999 43118.10N 140155.30E 44 22.4 64.5 1.94 36.61 57.68 112.07 725 Simulated 14:10 JSOKH
2 TK0004 Apr. 22, 2000 44129.90N 144119.90E 50 0.0 12.4 2.05 55.63 9.44 18.01 380 Simulated 12:45 JSOKH
3 TK0005 May 27, 2000 45129.90N 145110.00E 25 4.2 15.1 0.91 24.19 16.61 15.06 184 Simulated 13:35 JSOKH
4 HK0010 Oct. 10, 2000 45100.00N 144144.90E 48 13.1 nd 0.45 42.30 31.37 14.21 462 Simulated 13:45 JSOKH
5 TK0107B Jul. 22, 2001 45113.30N 143105.40E 40 16.5 nd 0.40 50.89 43.07 17.31 378 Simulated 9:40 JSOKH
6 TK0110 Oct. 7, 2001 45100.00N 144144.90E 40 12.5 24.0 0.73 34.83 22.89 16.75 361 Simulated 14:45 JSOKH
7 TK9904 Apr. 16, 1999 41145.00N 145122.40E 28 2.0 32.1 7.42 172.48 21.66 90.37 1,708 Simulated 10:00 O
8 TK9904 Apr. 19, 1999 42129.90N 145100.00E 60 2.6 54.9 0.42 26.26 10.52 4.46 140 Simulated 7:50 O
9 TK9908 Aug. 3, 1999 42149.90N 144149.90E 15 12.7 47.1 4.86 159.23 44.14 214.57 1,529 Simulated 14:40 O
10 HK9910 Oct. 10, 1999 40100.00N 146115.00E 45 16.0 22.8 0.81 33.71 37.13 29.95 491 Simulated 10:55 O
11 TK0004 Apr. 20, 2000 41100.00N 145144.90E 15 2.6 41.5 15.00 264.62 11.72 175.89 1,610 Simulated 10:45 O
12 TK0004 Apr. 21, 2000 42140.00N 144155.00E 24 3.8 21.8 9.57 137.76 7.82 45.23 570 Simulated 12:25 O
13 TK0005 May 31, 2000 42140.00N 144155.00E 46 9.2 22.3 0.44 25.54 63.39 28.14 564 Simulated 14:35 O
14 HK0010 Oct. 6, 2000 41129.90N 145130.00E 36 17.5 nd 0.39 27.32 38.36 12.37 353 Simulated 10:40 O
15 HK0101 Jan. 15, 2001 41100.00N 145144.90E 40 2.8 nd 0.11 4.59 51.92 5.61 76 Simulated 11:10 O
16 WK0101 Jan. 24, 2001 40129.90N 145104.20E 57 6.5 20.4 0.31 19.91 16.02 4.98 120 in-situ 8:03 O
17 WK0101 Jan. 24, 2001 40129.90N 145104.20E 57 6.5 20.4 0.31 20.22 21.44 6.67 234 Simulated 11:00 O
18 WK0104 Apr. 16, 2001 40130.00N 145104.20E 16 3.5 45.4 15.42 271.92 17.06 258.94 2,116 in-situ 8:10 O
19 WK0104 Apr. 16, 2001 40130.00N 145104.20E 16 3.5 41.4 15.42 277.07 22.41 345.62 3,385 Simulated 13:15 O
20 WK0104 Apr. 23, 2001 40146.80N 144150.90E 27 4.0 39.5 3.69 97.97 16.21 42.47 860 In-situ 6:00 O
21 WK0104 Apr. 23, 2001 40146.80N 144150.90E 27 4.0 22.1 3.69 99.63 26.03 96.11 1,233 Simulated 11:15 O
22 WK0104 May 2, 2001 40158.80N 144140.80E 13.5 1.9 33.1 9.53 136.22 14.97 142.60 1,165 In-situ 8:00 O
23 WK0104 May 2, 2001 40158.80N 144140.80E 13.5 1.9 30.7 9.53 137.41 26.01 247.79 1,710 Simulated 11:45 O
24 HK0105 May 13, 2001 40129.90N 146100.00E 48 8.0 53.6 0.91 39.58 35.00 31.81 642 Simulated 16:10 O
25 WK0106 Jun. 28, 2001 41100.00N 144141.90E 52 15.6 48.3 1.00 79.92 34.87 29.84 601 In-situ 8:05 O
26 WK0106 Jun. 28, 2001 41100.00N 144141.90E 52 15.6 40.3 1.00 92.23 42.01 22.67 1,261 Simulated 12:00 O
27 Tr0108 Sep. 1, 2001 41100.00N 144141.90E 32 17.3 35.6 1.05 37.37 14.88 13.97 355 Simulated 5:00 O
28 WK0111 Nov. 10, 2001 41100.00N 144141.90E 46 15.7 15.2 1.10 48.07 17.23 18.99 398 Simulated 10:55 O
29 WK0201 Jan. 25, 2002 41100.60N 144147.40E 49 1.3 13.4 0.41 20.30 9.42 3.02 98 In-situ 11:00 O
30 WK0201 Jan. 25, 2002 41100.60N 144147.40E 49 1.3 12.3 0.41 20.22 15.01 6.17 167 Simulated 13:30 O
31 WK0204 Apr. 15, 2002 41100.00N 144142.00E 13.5 1.7 37.6 13.87 197.65 35.49 492.37 2,671 In-situ 8:00 O
32 WK0204 Apr. 15, 2002 41100.00N 144142.00E 13.5 1.7 31.7 13.87 198.24 37.18 515.81 3,680 Simulated 11:50 O
33 TK0203 Mar. 17, 2002 41129.90N 145130.00E nd 1.6 15.3 0.72 35.51 7.89 5.71 nd Simulated 10:15 O
34 WK0206 June 15, 2002 40159.40N 144142.60E 33 13.7 17.4 0.90 33.80 39.30 34.15 483 In-situ 8:05 O
35 WK0206 June 15, 2002 40159.40N 144142.60E 33 13.7 13.5 0.90 39.28 45.86 40.31 598 Simulated 11:40 O
36 HK9910 Oct. 11, 1999 41128.00N 145131.30E 46 18.0 12.1 0.69 43.34 24.50 17.00 304 Simulated 12:15 O-K
37 TK0003 Mar. 11, 2000 40100.00N 146115.00E 59 6.5 27.8 0.21 13.08 22.15 4.17 126 Simulated 10:55 O-K
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38 TK0003 Mar. 12, 2000 41129.90N 145130.00E 86 8.0 14.0 0.22 20.56 2.26 0.50 31 Simulated 12:45 O-K
39 WK0101 Jan. 30, 2001 38100.00N 146149.10E 49 13.3 37.3 0.22 10.61 18.15 3.68 131 In-situ 8:35 O-K
40 WK0101 Jan. 30, 2001 38100.00N 146149.10E 49 13.3 29.1 0.22 10.69 28.33 6.26 148 Simulated 13:30 O-K
41 WK0104 Apr. 20, 2001 3800.00N 146149.10E 43 14.9 32.5 0.68 26.45 43.52 27.72 606 In-situ 9:30 O-K
42 WK0104 Apr. 20, 2001 38100.00N 146149.10E 43 14.9 19.5 0.68 25.76 48.48 30.25 667 Simulated 14:30 O-K
43 WK0104 Apr. 30, 2001 38100.00N 146149.10E 41 13.9 10.7 1.24 42.35 41.79 51.74 782 Simulated 6:20 O-K
44 WK0106 Jul. 2, 2001 38100.00N 146149.10E 43 22.6 50.1 1.15 74.43 29.02 32.88 1,294 In-situ 12:00 O-K
45 WK0106 Jul. 2, 2001 38100.00N 146149.10E 43 22.6 49.4 1.15 75.14 31.65 36.15 1,040 Simulated 15:00 O-K
46 TK0107 Jul. 5, 2001 41129.90N 145130.00E 46 18.0 15.1 0.74 29.69 25.85 19.00 270 Simulated 14:50 O-K
47 Tr0108 Aug. 29, 2001 38100.00N 146149.10E 70 27.1 34.1 0.28 32.36 19.13 5.29 263 Simulated 7:30 O-K
48 Wk0111 Nov. 15, 2001 38101.20N 146149.10E 54 17.3 10.9 0.59 30.37 16.69 9.85 217 In-situ 8:15 O-K
49 Wk0111 Nov. 15, 2001 38101.20N 146149.10E 54 17.3 11.0 0.59 30.76 12.65 7.47 214 Simulated 10:50 O-K
50 WK0201 Feb. 1, 2002 37159.40N 146148.60E 60 11.3 11.5 0.46 28.04 23.51 10.89 289 Simulated 13:30 O-K
51 WK0204 Apr. 20, 2002 38100.60N 146149.20E 51 13.3 47.3 0.807 39.69 34.02 21.06 614 In-situ 8:00 O-K
52 WK0204 Apr. 20, 2002 38100.60N 146149.20E 51 13.3 44.3 0.807 39.71 38.20 20.43 781 Simulated 11:20 O-K
53 WK0206 June 20, 2002 38100.00N 146148.660E 35 18.6 53.8 0.63 21.38 30.26 16.29 443 In-situ 6:00 O-K
54 WK0206 June 20, 2002 38100.00N 146148.660E 35 18.6 43.7 0.63 21.32 29.93 18.92 403 Simulated 9:20 O-K
55 9905syunyo May 15, 1999 33119.80N 138100.00E 43 19.8 nd 0.36 22.50 90.80 32.32 586 Simulated 3:35 K
56 9905syunyo May 16, 1999 32129.90N 138100.00E 94 23.6 nd 0.15 21.07 60.30 6.74 272 Simulated 3:05 K
57 DK9907 Jul. 8, 1999 28110.90N 132131.90E 46 28.7 51.9 0.13 5.56 34.42 3.63 151 Simulated 2:30 K
58 9911syunyo Nov. 15, 1999 33119.80N 138100.00E 41 22.9 25.7 0.96 39.98 19.50 14.30 418 Simulated 16:45 K
59 9911syunyo Nov. 17, 1999 32100.00N 138100.00E 60 23.6 23.1 0.56 32.97 18.40 10.09 297 Simulated 12:35 K
60 0002syunyo Feb. 4, 2000 34100.00N 138100.00E 64 19.5 4.7 0.44 28.01 15.80 6.89 289 Simulated 4:15 K
61 0002syunyo Feb. 5, 2000 32114.90N 138100.00E 73 19.3 6.8 0.28 20.61 9.80 2.56 156 Simulated 4:00 K
62 0005syunyo May 13, 2000 31149.70N 138100.00E 82 24.0 nd 0.15 23.06 36.06 5.07 403 Simulated 3:00 K
63 0005syunyo May 14, 2000 31130.00N 138100.00E 78 24.0 nd 0.12 13.11 13.47 1.02 116 Simulated 3:00 K
64 0007syunyo Jul. 15, 2000 32129.90N 138100.00E 75 27.7 nd 0.40 30.24 25.05 10.07 412 Simulated 3:30 K
65 0007syunyo Jul. 16, 2000 31149.70N 138100.00E 109 26.8 nd 0.09 16.41 26.62 2.50 136 Simulated 3:00 K
66 0010syunyo Oct. 14, 2000 32119.80N 138100.00E 63 25.7 26.6 0.21 9.15 18.21 3.88 140 Simulated 3:45 K
67 0010syunyo Oct. 15, 2000 31140.20N 138100.00E 95 26.5 24.1 0.10 15.11 13.00 1.32 67 Simulated 3:50 K
68 0104soyo Apr. 16, 2001 31149.70N 138100.00E 56 21.7 41.9 0.40 21.82 18.11 6.78 242 Simulated 3:50 K
69 0104soyo Apr. 17, 2001 31130.00N 138100.00E 58 20.1 21.7 0.26 16.80 16.26 3.87 135 Simulated 3:50 K
70 0104soyo Apr. 20, 2001 33100.00N 143100.00E 72 19.2 50.9 0.31 19.74 18.84 5.53 289 Simulated 4:00 K
71 0104soyo Apr. 21, 2001 34110.20N 143100.00E 67 20.7 26.1 0.31 20.93 18.24 4.75 215 Simulated 4:10 K
72 0104soyo Apr. 24, 2001 35100.00N 146119.80E 68 19.5 40.2 0.54 28.47 11.75 6.28 291 Simulated 3:45 K
73 0104soyo Apr. 25, 2001 35100.00N 146100.00E 53 17.8 19.4 0.83 40.72 11.36 9.45 224 Simulated 3:40 K
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74 0107Hokko Jul. 31, 2001 32140.20N 138100.00E 78 29.1 53.4 0.08 14.16 50.52 4.16 221 Simulated 3:30 K
75 0107Hokko Aug. 1, 2001 32110.20N 138100.00E 94 28.6 50.9 0.08 13.85 41.71 2.77 203 Simulated 3:30 K
76 0111soyo Nov. 25, 2001 33100.00N 138100.00E 82 Nd 19.7 0.29 24.47 17.04 3.93 218 Simulated 2:50 K
77 0201Hokko Jan. 26, 2002 33120.00N 138100.00E 78 18.8 9.7 0.39 17.72 8.64 2.68 117 Simulated 3:45 K
78 0205soyo May 12, 2002 33100.00N 138100.00E 77 22.9 19.3 0.81 37.92 16.91 13.68 428 Simulated 4:00 K
79 0205soyo May 15, 2002 28100.00N 138100.00E 98 22.9 25.4 0.13 20.04 30.65 4.08 189 Simulated 3:00 K
80 0205soyo May 17, 2002 30100.00N 138100.00E 93 22.5 26.6 0.14 19.61 30.74 4.18 208 Simulated 2:40 K
81 0207soyo Jul. 5, 2002 30100.00N 138100.00E 105 27.5 44.2 0.05 14.56 37.80 1.81 143 Simulated 2:10 K
82 0207soyo Jul. 8, 2002 34115.00N 138100.00E 37 24.1 39.2 0.61 135.22 36.70 22.50 399 Simulated 3:35 K
83 0207soyo Jul. 9, 2002 33145.00N 138100.00E 91 27.2 47.5 0.10 26.35 21.79 2.27 215 Simulated 3:20 K
84 0211soyo Nov. 12, 2002 33130.00N 138100.00E 85 23.7 1.5 0.43 26.36 7.92 3.44 88 Simulated 4:20 K
85 0211soyo Nov. 13, 2002 34100.00N 138100.00E 47 18.4 16.9 2.06 109.01 11.49 23.69 639 Simulated 4:20 K
86 0301soyo Jan. 11, 2003 34100.00N 138100.00E 65 17.6 16.7 0.60 23.13 25.08 9.43 360 Simulated 4:50 K
87 0301soyo Jan. 12, 2003 33145.00N 138100.00E 98 19.9 20.6 0.48 42.67 18.06 4.86 450 Simulated 4:50 K
88 0301soyo Jan. 14, 2003 30100.00N 138100.00E 98 20.9 19.7 0.32 36.05 12.97 3.10 229 Simulated 2:15 K
89 Kotaka Dec. 16, 1999 33112.90N 133123.60E 39 20.3 nd 0.32 13.26 78.00 25.10 531 In-situ 12:40 TB
90 Kotaka Jan. 26, 2000 33112.90N 133123.60E 48 16.3 nd 0.32 14.46 26.00 7.80 205 In-situ 11:15 TB
91 Kotaka Jul. 17, 2000 33112.90N 133123.60E 65 27.2 nd 0.08 17.78 82.00 6.40 975 In-situ 10:50 TB
92 Kotaka Aug. 4, 2000 33112.90N 133123.60E 63 24.5 nd 0.37 51.92 61.00 22.60 535 In-situ 10:50 TB
93 Kotaka Sep. 19, 2000 33112.90N 133123.60E 56 26.5 nd 0.41 12.77 79.00 32.20 270 In-situ 11:25 TB
94 Kotaka Oct. 11, 2000 33112.90N 133123.60E 61 25.3 nd 0.21 12.07 90.00 16.40 644 In-situ 11:00 TB
95 Kotaka Nov. 16, 2000 33112.90N 133123.60E 60 23.2 nd 0.42 21.86 61.00 25.50 641 In-situ 10:45 TB
96 Kotaka Dec.. 5, 2000 33112.90N 133123.60E 52 20.8 nd 0.39 19.82 46.00 16.90 493 In-situ 6:30 TB
97 Kotaka Jan. 16, 2001 33112.90N 133123.60E 43 15.5 nd 0.42 18.99 32.00 9.30 401 In-situ 11:20 TB
98 Kotaka Feb. 14, 2001 33112.90N 133123.60E 55 16.8 nd 0.55 33.18 31.00 14.20 601 In-situ 10:55 TB
99 Kotaka Apr. 11, 2001 33112.90N 133123.60E 43 19.7 nd 0.55 20.90 75.50 41.20 765 In-situ 11:25 TB
100 Kotaka May 11, 2001 33112.90N 133123.60E 69 21.6 nd 0.36 21.60 94.70 34.00 1,390 In-situ 10:50 TB
101 Kotaka Jul. 13, 2001 33112.90N 133123.60E 50 27.0 nd 0.24 10.35 208.00 35.60 918 In-situ 11:00 TB
102 Kotaka Aug. 7, 2001 33112.90N 133123.60E 41 28.8 nd 0.13 28.59 240.00 29.70 1,191 In-situ 11:35 TB
103 Kotaka Sep. 15, 2001 33112.90N 133123.60E 67 27.8 nd 0.17 15.59 71.20 12.20 437 In-situ 10:55 TB
104 Kotaka Oct. 5, 2001 33112.90N 133123.60E 67 26.6 nd 0.17 14.12 80.70 13.60 563 In-situ 11:20 TB
105 Kotaka Nov. 21, 2001 33112.90N 133123.60E 50 22.6 nd 0.59 23.01 64.00 36.80 1,034 In-situ 11:20 TB
106 Kotaka Dec. 19, 2001 33112.90N 133123.60E 63 19.6 nd 0.39 18.93 50.00 18.00 710 In-situ 11:30 TB
107 DK9907 Jul. 10, 1999 27140.90N 128101.90E 58 27.3 38.8 0.16 11.43 41.57 4.89 249 Simulated 1:50 ECS-K
108 DK9907 Jul. 11, 1999 28110.90N 127113.00E 51 28.9 51.1 0.17 8.11 88.12 7.22 270 Simulated 1:00 ECS-K
109 DK9907 Jul. 12, 1999 26139.00N 126129.90E 65 28.9 41.6 0.10 10.16 51.42 4.98 212 Simulated 0:15 ECS-K
110 YK9907 Oct. 27, 1999 29120.10N 128130.10E 65 25.8 29.8 0.16 11.71 62.65 5.83 473 In-situ 5:10 ECS-K
111 YK9907 Oct. 27, 1999 29120.10N 128130.10E 65 25.8 29.8 0.16 11.71 58.53 3.10 454 Simulated 6:12 ECS-K
112 KY0001 May 14, 2000 26140.00N 125145.10E 89 25.0 67.3 0.36 32.82 68.27 19.23 1,654 Simulated 3:50 ECS-K
113 KY0001 May 14, 2000 26140.00N 125145.00E 89 25.0 67.3 0.36 32.82 50.66 18.24 992 In-situ 4:15 ECS-K
114 DK00-07 Jul. 21, 2000 27140.90N 128101.90E 95 29.4 52.9 0.07 16.36 45.30 3.20 358 Simulated 1:40 ECS-K
115 DK00-07 Jul. 22, 2000 28125.00N 126155.00E 81 29.4 55.2 0.20 16.71 39.50 6.50 489 Simulated 3:50 ECS-K
116 YK0007 Oct. 13, 2000 29100.00N 128130.00E 57 26.8 27.1 0.19 10.04 62.75 7.83 367 Simulated 5:30 ECS-K
117 KY0204 Mar. 3, 2003 28145.10N 127145.10E 80 23.2 8.1 0.33 16.61 32.75 5.03 317 Simulated 4:30 ECS-K
118 KY0204 Mar. 7, 2003 26145.20N 125145.10E 73 23.3 3.3 0.27 15.19 45.79 12.17 291 Simulated 4:10 ECS-K
119 YK9907 Oct. 24, 1999 30137.60N 126101.80E 38 22.9 35.1 1.45 54.93 71.99 65.09 2,416 Simulated 8:15 ECS-C
120 YK9907 Oct. 24, 1999 30137.80N 126101.80E 38 22.9 35.1 1.45 54.93 106.22 148.14 2,654 In-situ 6:56 ECS-C
121 YK9907 Nov. 3, 1999 28138.40N 125145.00E 41 24.9 22.1 0.40 15.17 63.66 12.98 648 Simulated 6:15 ECS-C
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122 YK9908 Feb. 10, 2000 32149.90N 129130.00E 33 14.5 26.0 1.10 37.18 31.41 20.56 697 Simulated 6:10 ECS-C
123 YK9908 Feb. 11, 2000 32140.00N 129119.80E 65 16.4 19.4 0.35 20.23 33.89 8.58 447 Simulated 6:15 ECS-C
124 YK9908 Feb. 12, 2000 32129.80N 129110.20E 49 15.9 26.5 0.36 17.23 33.96 7.25 407 Simulated 6:00 ECS-C
125 YK9908 Feb. 13, 2000 32119.90N 129100.00E 70 17.0 28.1 0.36 21.57 41.91 8.41 640 Simulated 6:00 ECS-C
126 KY0001 Apr. 25, 2000 32129.90N 128159.80E 35 18.1 30.5 0.85 25.48 43.59 33.19 753 Simulated 4:40 ECS-C
127 KY0001 Apr. 27, 2000 31130.00N 129100.00E 43 16.0 nd 1.01 32.77 44.55 38.93 1,159 Simulated 5:00 ECS-C
128 KY0001 Apr. 28, 2000 31129.70N 126129.30E 33 13.8 30.5 0.59 21.08 62.14 36.66 840 Simulated 5:52 ECS-C
129 KY0001 Apr. 28, 2000 31129.70N 126129.30E 33 13.8 30.5 0.59 21.08 44.06 26.00 541 In-situ 4:00 ECS-C
130 KY0001 Apr. 30, 2000 31114.80N 126159.80E 33 18.4 29.1 0.30 18.58 106.73 32.02 501 Simulated 3:15 ECS-C
131 KY0001 May 1, 2000 30145.10N 125159.80E 30 14.7 37.8 0.58 27.05 49.91 28.95 482 Simulated 3:00 ECS-C
132 KY0001 May 2, 2000 30130.00N 128130.00E 54 20.6 35.6 0.28 17.74 145.76 40.81 1,430 Simulated 4:30 ECS-C
133 KY0001 May 3, 2000 30129.50N 126100.40E 27 14.8 46.9 0.71 27.71 54.64 34.91 906 Simulated 4:00 ECS-C
134 KY0001 May 4, 2000 30115.10N 128129.80E 43 20.4 48.5 0.26 9.10 214.90 31.65 1,087 Simulated 4:10 ECS-C
135 KY0001 May 5, 2000 29144.90N 126100.90E 30 17.9 40.7 0.42 28.83 175.89 35.24 2,598 Simulated 3:50 ECS-C
136 KY0001 May 5, 2000 29144.90N 126100.90E 30 17.9 40.7 0.42 28.83 241.30 33.08 3,983 In-situ 4:10 ECS-C
137 DK00-07 Jul. 23, 2000 29100.00N 126100.00E 65 29.1 58.1 0.12 13.24 55.70 6.60 334 Simulated 0:40 ECS-C
138 YK0007 Oct. 3, 2000 28154.40N 126115.00E 49 26.1 20.6 0.16 21.68 90.67 14.51 569 Simulated 5:30 ECS-C
139 YK0007 Oct. 4, 2000 28154.40N 126115.00E 41 26.1 31.5 0.35 18.47 78.48 18.12 645 Simulated 5:20 ECS-C
140 YK0007 Oct. 5, 2000 28154.40N 126115.00E 49 25.6 13.4 0.19 17.18 75.86 14.41 374 Simulated 5:05 ECS-C
141 YK0007 Oct. 6, 2000 28154.50N 126115.00E 46 25.6 6.8 0.31 18.47 65.80 17.70 338 Simulated 5:05 ECS-C
142 YK0007 Oct. 8, 2000 28154.40N 126115.00E 35 25.0 30.0 0.62 21.09 62.82 25.95 833 Simulated 5:20 ECS-C
143 YK0007 Oct. 14, 2000 30130.00N 128130.00E 41 25.5 29.8 0.20 9.44 105.23 15.61 511 Simulated 5:00 ECS-C
144 YK0007 Oct. 15, 2000 32100.00N 128130.00E 51 25.7 31.3 0.18 11.46 89.31 13.04 588 Simulated 4:30 ECS-C
145 YK0007 Oct. 16, 2000 31130.00N 126129.90E 51 24.4 29.1 0.34 14.57 96.37 15.73 877 Simulated 4:40 ECS-C
146 YK0007 Oct. 17, 2000 31130.00N 128130.00E 51 25.4 15.0 0.44 19.78 46.28 20.36 468 Simulated 4:15 ECS-C
147 YK0106 Jul. 21, 2001 30118.00N 126118.00E 54 28.5 nd 0.19 19.50 114.05 16.35 1,060 Simulated 4:40 ECS-C
148 YK0106 Jul. 22, 2001 30118.00N 125118.00E 41 28.9 nd 0.20 15.65 146.76 17.65 975 Simulated 3:30 ECS-C
149 YK0106 Jul. 23, 2001 31118.00N 125100.00E 27 28.2 nd 0.55 24.93 91.00 30.35 1,017 Simulated 3:30 ECS-C
150 YK0106 Jul. 24, 2001 31105.90N 126106.00E 35 29.0 nd 0.21 21.63 141.56 18.69 1,217 Simulated 3:30 ECS-C
151 YK0106 Jul. 25, 2001 32111.90N 127112.00E 84 29.7 nd 0.08 16.30 145.21 9.66 677 Simulated 3:30 ECS-C
152 YK0106 Jul. 26, 2001 31118.00N 127118.00E 57 30.3 nd 0.11 16.15 241.35 26.55 1,311 Simulated 3:30 ECS-C
153 KY0104 Aug. 29, 2001 31108.90N 125112.00E 41 28.6 24.9 0.28 25.75 147.06 41.18 1,392 Simulated 5:20 ECS-C
154 KY0104 Aug. 30, 2001 30100.00N 124112.00E 51 28.2 30.6 0.50 29.97 111.01 55.50 1,765 Simulated 4:15 ECS-C
155 KY0104 Aug. 31, 2001 30100.00N 125112.00E 57 28.3 41.1 0.35 24.32 89.77 22.97 1,533 Simulated 4:15 ECS-C
156 KY0104 Sep. 1, 2001 31108.90N 126112.00E 43 27.3 30.4 0.28 24.93 144.32 30.94 1,271 Simulated 5:00 ECS-C
157 KY0104 Sep. 2, 2001 30108.90N 126112.00E 62 28.3 14.3 0.23 26.72 99.16 19.88 824 Simulated 5:35 ECS-C
158 KY0104 Sep. 3, 2001 31108.90N 127112.00E 76 28.3 29.8 0.29 25.41 112.98 29.56 1,477 Simulated 4:15 ECS-C

Table 1 (Continued)

Number Cruise Date Latitude
(1N)

Longitude
(1E)

1%
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depth
(m)

Surface
temper-
ature
(1C)

Total daily
incident
PAR (E/

m2/d)

Surface
chlorophyll

a (mg/l)

Standing
stock of
chloro-
phyll a
(mg/m2)
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opt

(mgC/
mgChl/d)

Primary production Method Starting
time

Region

Surface
(mgC/m3/d)
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over

euphotic
zone (mgC/
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159 KY0104 Sep. 4, 2001 30108.90N 127112.00E 70 27.8 17.4 0.19 23.32 95.07 18.06 845 Simulated 4:15 ECS-C
160 KY0104 Sep. 5, 2001 31108.90N 128112.00E 68 28.0 39.0 0.22 18.24 98.63 11.57 1,039 Simulated 5:50 ECS-C
161 KY0104 Sep. 6, 2001 30108.90N 128112.10E 62 28.1 6.2 0.14 15.46 86.58 12.12 299 Simulated 5:50 ECS-C
162 KY0104 Sep. 7, 2001 31108.90N 129112.00E 70 28.3 32.5 0.31 23.58 78.64 21.02 1,219 Simulated 5:45 ECS-C
163 YK0204 Jun. 12, 2002 31144.90N 129115.00E 51 24.2 41.8 0.22 12.72 131.88 20.62 822 Simulated 4:30 ECS-C
164 YK0204 Jun. 14, 2002 31144.90N 127145.00E 68 23.9 48.7 0.10 16.43 170.09 10.16 969 Simulated 4:20 ECS-C
165 YK0204 Jun. 15, 2002 32115.20N 127114.80E 60 24.3 46.3 0.14 15.15 87.66 9.38 595 Simulated 4:00 ECS-C
166 YK0204 Jun. 16, 2002 30145.10N 125144.80E 43 23.2 42.9 0.21 16.95 117.75 21.57 1,034 Simulated 4:10 ECS-C
167 KY0204 Mar. 2, 2003 30114.90N 127145.00E 69 18.1 24.4 0.21 14.99 92.42 8.50 830 Simulated 4:30 ECS-C
168 KY0204 Mar. 4, 2003 28145.00N 126115.00E 30 20.1 12.2 0.84 22.99 49.11 18.93 591 Simulated 4:20 ECS-C
169 KY0204 Mar. 5, 2003 27144.80N 124145.00E 57 17.4 4.7 0.25 12.93 68.58 17.04 362 Simulated 4:05 ECS-C
170 KY0204 Mar. 6, 2003 27114.90N 125115.00E 57 20.6 12.1 0.43 25.19 58.94 20.33 830 Simulated 4:10 ECS-C
171 KY0204 Mar. 8, 2003 25144.90N 123144.90E 64 23.3 13.5 0.36 14.49 78.95 11.25 586 Simulated 4:20 ECS-C
172 KY0204 Mar. 9, 2003 27114.90N 122115.00E 46 16.7 30.5 0.36 16.12 100.10 13.65 955 Simulated 4:10 ECS-C
173 KY0204 Mar. 10, 2003 26144.90N 124144.90E 43 22.6 27.2 0.42 15.56 139.81 31.81 1,322 Simulated 4:20 ECS-C
174 KY0204 Mar. 11, 2003 27114.90N 123144.90E 43 17.8 40.7 0.48 16.41 109.21 11.10 1,191 Simulated 4:20 ECS-C
175 KY0204 Mar. 12, 2003 28144.90N 124145.00E 41 15.1 9.9 2.04 27.37 64.64 22.47 674 Simulated 4:00 ECS-C
176 KY0204 Mar. 13, 2003 29145.00N 126115.00E 43 14.4 19.5 0.41 19.09 66.99 7.23 754 Simulated 4:10 ECS-C

Note:

A term nd indicates no datum was available.
Depth-integrated primary production and the standing stock of chlorophyll a were obtained by integrating over the
euphotic zone (1% light depth).
Primary production was measured by in-situ incubations and/or simulated in-situ deck incubations.
JSOKH: Japan and Okhotsk Seas, O: Oyashio, O-K: Oyashio-Kuroshio transition, K: Kuroshio, TB: Tosa Bay, ECS-
K: Kuroshio in the East China Sea, ECS-C: continental shelf waters in the East China Sea.
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Reflectance Radiometer (Biospherical Instruments Inc, San Diego, CA,
USA.). Seawater samples were collected prior to sunrise, from four to eight
depths, using Niskin or Go-Flo samplers (General Oceanics Inc., Miami, FL,
USA) (Fitzwater et al., 1982). The water samples were immediately sieved
through a 100- or 200-mm mesh plankton net to remove large-sized zoo-
plankton, whose body size in dominant species was reffered to select which
mesh size to use. The pre-screened seawater was transferred into three or
four 500- to 2,500-ml polycarbonate bottles, which had previously been acid
cleaned. The seawater in the bottles was spiked with NaH13CO3 solution
(Shoko Co., Ltd., Tokyo, Japan) to a final concentration of about 10% total
carbonate. One bottle was immediately used for the zero time blank and two
or three bottles were incubated for about 24 h in a deck incubator at a range
of irradiances corresponding to the depths at which the samples were taken,
using neutral density and marine-blue filters (ACRYLITE, Mitsubishi
Rayon Co., Ltd., Tokyo, Japan). Temperature during incubation was main-
tained at the sea surface temperature (SST) using continuous flowing sur-
face seawater or cooling devices. Just after incubation, particulate matter
was filtered onto a Whatman GF/F filter (Whatman International Ltd.,
Maidstone, England) that had been precombusted at 4501C for 4 h. The
filters were rinsed with 13C-free prefiltered seawater to remove dissolved
inorganic carbon. After storage at a temperature below –201C the filters
were treated with HCl fumes or without ones according to Kanda et al.
(1998). Particulate organic carbon and 13C atom% were determined using a
13C analyzer EX-130S (JASCO, Hachioji, Japan), a mass spectrometer
ANCA-SL (Europa Scientific, Crewe, UK) or DELTA-plus (Finnigan MAT,
Bremen, Germany). Total carbonate in the seawater was measured or es-
timated from salinity (Parsons et al., 1984). The particulate organic carbon
fixation rate (mgC/m3/day) was calculated according to Hama et al. (1983).
The details of the methods used by each institution and vessel varied
slightly and are summarized in Table 2. Trapezoidal integration was
adopted for calculation of the depth-integrated primary production over the
euphotic zone (IPP, mgC/m2/day) and annual primary production (gC/m2/
year) based upon monthly means in different waters.

2.4 Observation of Environmental Factors

Temperature and salinity were measured using a thermometer and Auto Sal
(Guildline Instruments Ltd., Smiths Falls, Canada) for sea surface water,
respectively and using a conductivity-temperature-depth recorder SBE 9plus
(Sea Bird Electronics Inc., Bellevue, WA, USA) for deeper waters. The upper
mixed-layer depth was defined as the depth at a temperature 11C lower than
that at the surface. Chlorophyll a was measured using a fluorometer (Turner
Designs Inc., Sunnyvale, CA, USA) after 50 to 300 ml of seawater was filtered
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Table 2: Summary of the methods for primary production measurements in different organizations

Institute Hokkaido
National
Fisheries
Research
Institute

Tohoku National
Fisheries
Research
Institute

National
Research

Institute of
Fisheries

Engineering

National
Research

Institute of
Fisheries Science

Seikai National
Fisheries
Research
Institute

General
Environmental

Technos Co., Ltd.

Region Oyashio, Okhotsk
Sea, Japan Sea

Oyashio,
Kuroshio-Oyashio

transition

Kuroshio Tosa Bay Continental shelf
of East China Sea,

Kuroshio

Continental shelf
of East China Sea,
Kuroshio, western

North Pacific
Determination of light
depths

Vertical profile of
PAR measured by

PRR-600

Transparency or
vertical profile of
PAR measured by

a PAR sensor

Vertical profile of
PAR measured by

PRR-600

Vertical profile of
PAR measured by

PRR-600

Transparency Transparency

Number of sampling
depths

4–7 5 (in-situ), 6
(simulated)

5–6 5 8 7

Light depths of sampling
depths

100, 45, 20, 9, 4, 2,
1%

100, 50, 10, 5, 2.5,
1%

100, 50, 25, 10, 1
(5, 2.5, 0.5)%

100, 60, 20, 10, 1% 100, 50, 25, 10, 5,
2.5, 1, 0.5%

100, 50, 25, 10, 5,
2.5, 1%

Water sampler Go-Flo Go-Flo, X-Niskin Go-Flo Go-Flo Go-Flo Lever action
water sampler

Clean sampling Kevlar line, teflon
coated messenger

Nylon coated
wire, teflon coated

messenger

Kevlar line, teflon
coated messenger

Mass spectrometer ANCA-SL, 13C-
analyzer

ANCA-SL ANCA-SL EA1110-
DELTAplus
Advantage

ConFloSystem

ANCA-SL,
FlashEA-

DELTAplus
ConFloSystem

ANCA-SL

Removal of inorganic
carbon by an acid
treatment in a HCl vapor

No No Yes Yes No No

Sensor for total daily
incident PAR

Li-Cor 2pi sensor 2pi
sensorSUD033/

PAR/W

Li-Cor 2pi sensor None Li-Cor 2pi sensor Li-Cor 2pi sensor

Starting time of
incubation

Around noon Between sunrise
and noon

Before sunrise Around noon Before sunrise Before sunrise

Incubation methods Simulated in-situ In-situ, simulated
in-situ

Simulated in-situ In-situ In-situ, simulated
in-situ

Simulated in-situ

Note 2-L of water
incubated

0.3 to 1-L of water
incubated

1-L of water
incubated
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using a Whatman GF/F filter. The pigments on the filter were extracted in
N,N-dimethylformamide (Suzuki and Ishimaru, 1990) or 90% acetone with
sonic destruction of the phytoplankton cells (Parsons et al., 1984). The
standing stock of chlorophyll a (mgChl/m2) was calculated in a trapezoidal
integration over the euphotic zone. Total daily incident PAR was measured
using a PAR sensor LI-190 (Li-Cor Inc, Lincoln, NE, USA) installed on the
ship.

2.5 Comparison between in-situ and Simulated in-situ
Incubations

Results from in situ and simulated in situ incubations were compared at 19
stations in Oyashio-transition waters and ECS. IPP measured by simulated
in situ incubation ranged from 65 to 210% of the IPP measured by in situ
incubation, with a mean of 131%. Surface primary production by simulated
in situ incubation ranged from 44 to 226% of the value by in situ incubation,
with a mean of 121%. The means of both IPP and surface primary produc-
tion by simulated in situ incubation were not significantly different from
those recorded by in situ incubation.

3 Results and Discussion

3.1 Seasonal Variations in Euphotic Zone and Upper Mixed
Layer

Values of PAR (Fig. 2A) ranged from 3.3 to 67.3 E/m2/day with large var-
iations among stations. PAR in Oyashio-transition waters was lower than
that in the other areas throughout the year. PAR was high in May but low
from October to March in all waters. The depth of the euphotic zone (Fig. 2B)
ranged from 15 to 109 m with large differences among stations. A common
feature of the seasonal variation among different waters was a decrease in
the depth of the euphotic zone during April and May.

SST (Fig. 2C) varied widely, from 0.01C in the Okhotsk Sea to 30.31C in
Kuroshio waters. The monthly mean temperatures in the Oyashio-transi-
tion waters were 5.3 to 20.21C, showing both the lowest absolute SST and
the largest seasonal variations we observed. Higher temperatures and
smaller seasonal variations were recorded in Kuroshio waters, Tosa Bay,
and ECS continental shelf waters, where temperatures ranged from 14 to
301C. The depth of the upper mixed layer shoaled into the euphotic zone in
all waters from April to October (Fig. 2D). In summer, the upper mixed layer
reached less than 10% light depth in Oyashio-transition waters, and about
20% light depth in the other waters.
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3.2 Seasonal Variations in Phytoplankton Biomass and
Primary Production

Sea surface chlorophyll a (Fig. 3A) reached a maximum of 15.0 mg/L in
Oyashio-transition waters, with a large peak from April to May, and a small
increase in August. In contrast, in other waters it was sparse throughout the
year, with small seasonal variations (e.g., a slight increase during spring
and autumn). Standing stock of chlorophyll a in the euphotic zone (Fig. 3B)

(A)

(B)

(C)

(D)

Figure 2: Seasonal change in (A) total daily incident photosynthetically
available radiation (PAR, E/m2/day), (B) euphotic zone depth in 1% light
depth (m), (C) sea surface temperature (1C), (D) upper mixed layer depth in
relative light (%) in the euphotic zone of Oyashio-transition waters,
Kuroshio waters, Tosa Bay, and continental shelf waters of the East China
Sea. Solid lines connect monthly means with standard deviations.
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reached a maximum of 265 mg/m2 in Oyashio-transition waters, where it
markedly increased during spring and summer; in other waters the mean
was about 20 mg/m2, with no remarkable variations during the course of the
year.
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Figure 3: Seasonal change in (A) surface chlorophyll a (mg/l), (B) standing
stock of chlorophyll a in the euphotic zone (mg/m2), (C) daily carbon fixation
rate at the sea surface(mgC/m3/day), (D) biomass normalized primary pro-
duction at sea surface (mgC/mgChl/day), (E) daily primary production in-
tegrated over the euphotic zone (IPP, mgC/m2/day) of Oyashio waters,
Kuroshio waters, Tosa Bay, and continental shelf waters of the East China
Sea. Solid lines connect monthly means with standard deviations.
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Primary production at the sea surface (Fig. 3C) reached a maximum of
520 mgC/m3/day in Oyashio-transition waters, displaying large seasonal
variations with peaks from April to May and in August. In other areas the
variations were small, with a slight increase from April to May. Chlorophyll
a normalized primary production at the sea surface (Fig. 3D) peaked in
Oyashio-transition waters and Kuroshio waters in May, and in Tosa Bay and
ECS continental shelf waters in August. IPP (Fig. 3E) ranged from 30 mgC/
m2/day in March in Oyashio-transition waters to 3,980 mgC/m2/day in May
in ECS continental shelf waters. IPP varied seasonally in Oyashio-transi-
tion waters, with high production from April to August and very low pro-
duction from September to March. In contrast, seasonal variations in IPP in
other areas were not remarkable, with a slight increase in May in Kuroshio
waters and Tosa Bay, and increases in both May and August in ECS con-
tinental shelf waters. Annual primary production (gC/m2/year) was esti-
mated to be 340 in ECS continental shelf waters, 280 in Tosa Bay, 200 in
Oyashio-transition waters, and 110 in Kuroshio waters.

3.3 Vertical Distribution and Depth-Integration of
Phytoplankton Biomass and Primary Production

Chlorophyll a concentrations and primary production generally increased in
the surface layer in the spring, when the depth of the upper mixed layer
decreased to less than that of the euphotic zone (Fig. 2D). Subsurface
maxima of chlorophyll a and primary production in Kuroshio waters, Tosa
Bay, and ECS continental shelf waters were observed in the summer, when
the water column was stratified; however, no marked subsurface maxima
were recorded in Oyashio-transition waters (Fig. 4A). Chlorophyll a nor-
malized primary production decreased with depth mainly due to the expo-
nential extinction of light with depth (Fig. 4B). The subsurface maximum of
primary production was not as marked as that of chlorophyll a (Fig. 4C).

The best correlation between IPP and the standing stock of chlorophyll a
(Fig. 5A) was found in Oyashio-transition waters. The presence of subsur-
face maxima in other areas may be responsible for the worsened correlation
found in those areas. The correlation (r2) between IPP and surface PAR
ranged from 0.550 to 0.701 (Fig. 5B).

3.4 Relationship Between Primary Production and
Environmental Factors

Behrenfeld and Falkowski (1997) expressed the maximum carbon-fixation
rate per unit of chlorophyll a, PB

opt (mgC/mgChl/h) as a function of SST to
estimate IPP from chlorophyll a, PAR, and temperature data derived by
satellite. The present study encompassed a wide range of SSTs (0 to 301C).
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Figure 4: Seasonal change in vertical profile of (A) chlorophyll a concentration in mg/l, (B) biomass normalized
primary production in mgC/mgChl/day, and (C) primary production in log

10
(mgC/m3/day) in the euphotic zone

of light depth (% in log
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) of Oyashio-transition waters, Kuroshio waters, Tosa Bay, and continental shelf waters
of the East China Sea (For colour version, see Colour Plate Section).
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Figure 5: Plot of depth-integrated primary production (IPP) to (A) standing stock of chlorophyll a and (B)
photosynthetically available radiation (PAR) on the surface in Oyashio-transition waters, Kuroshio waters,
Tosa Bay, and continental shelf waters of the East China Sea.
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The relationship between PB
opt (mgC/mgChl/day) and SST (T), expressed in

exponential form as equation (1) (n ¼ 175, r2
¼ 0.218), is similar to the the-

oretical maximum specific growth rate described by Eppley (1972); the high-
order polynomial in equation (2) (n ¼ 175, r2

¼ 0.227), parameterized using a
nonlinear regression analysis of SYSTAT ver.10 (SPSS Inc, Chicago, IL, USA),
is similar to a preliminary empirical model by Behrenfeld and Falkowski
(1997).

log 10PB
opt ¼ 0:0249T þ 1:23. (1)

PB
opt ¼ � 1:267� 10�6T7

þ 1:319� 10�4T6
� 5:3237� 10�3T5

þ 0:10457T4
� 1:025T3

þ 4:6278T2
� 6:3898T þ 19:096. ð2Þ

PB
opt tended to increase with SST at temperatures between 0 and 301C, with

large variations above about 161C (Fig. 6). Kuroshio waters, Tosa Bay, and
ECS continental shelf waters had the same temperature regime, with PB

opt

values that varied by a factor of more than three. The use of factors other than

SST ( )

P
B

op
t
(m

gC
/m

gC
hl

/d
ay

)

Japan and Okhotsk Seas 
Oyashio-transition waters 
Kuroshio waters 
Tosa Bay 
Continental shelf ECS

Figure 6: Relationship between sea surface temperature (SST) and max-
imum biomass normalized primary production (Popt

B ) around Japan. A solid
line indicates an empirical function with high-order polynomial and a
dashed line with exponential.
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SST is expected to improve algorithms to estimate primary productivity using
PB

opt values.
Falkowski (1981) proposed a water-column light-utilization efficiency

index, c (m2 mgC/mgChl/E), defined as:

c ¼ IPP=IB=IE0, (3)

where IPP is primary production integrated from the surface to the base of
the euphotic zone over a day, IB is the chlorophyll-based biomass integrated
from the surface to the base of the euphotic zone, and IE0 is PAR incident on
the surface integrated over a day. Falkowski and Raven (1997) mentioned
that c increased as PAR decreased on the basis of analysis of data for hun-
dreds of stations in the world’s oceans. We proposed empirical relationships
between c and PAR for estimating IPP in Oyashio-transition waters,
Kuroshio waters, and ECS continental shelf waters (Fig. 7), based on the
standing stock of chlorophyll a (integrated from the surface to the base of
the euphotic zone) and sea surface PAR (integrated over a day).

3.5 Improving Algorithms for Primary Production
Estimation

Estimates of IPP in Tosa Bay and ECS continental shelf waters were about
three times higher than estimates for Kuroshio waters with a similar tem-
perature regime (14–301C). Nutrients may prove to be promising parameters
for improvement of algorithms for primary production estimation (Berger et
al., 1989; Behrenfeld et al., 2002). Differences in IPP may result from the
level of nutrient supply, which may be influenced, for example, by the

(A) Oyashio-transition (B) Kuroshio (C) Continental shelf ECS

= 3.915 PAR –0.6582

(n = 46, r2 = 0.312)
= 4.928 PAR –0.6140

(n = 40, r2 = 0.478)
= 10.08 PAR –0.5500

(n = 51, r2 = 0.459)

(m
2 m

gC
/m

gC
hl

/E
)

Surface PAR (E/m2/day)

Figure 7: Relationship of water-column light utilization index c to total
daily incident PAR in Oyashio-transition waters (A), Kuroshio waters (B),
and continental shelf waters of the East China Sea (C).
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Changjiang River, by resuspension on the continental shelf, and by local
upwelling in the shelf break under the Kuroshio front (Yanagi et al., 1998).
High productivity in Tosa Bay seems to have been induced by a new nutrient
supply associated with upwelling into the subsurface layers, due to the in-
fluence of the Kuroshio meander, the intrusion of warm water, and coastal
upwelling during the summer when the water column is stratified (Ichikawa
and Hirota, 2004). On the other hand, because primary production in
Oyashio-transition waters was concentrated in the surface layers during
spring and summer, without a subsurface maximum, satellite observation at
the sea surface is an effective means to estimate primary production inte-
grated over the euphotic zone (IPP) (Kasai et al., 1998). However, iron-
limited offshore areas east of Oyashio waters (Tsuda et al., 2003) will require
different algorithms to estimate primary production (Behrenfeld et al., 2002).

Asanuma (2006) established a depth- and time-resolved primary pro-
ductivity model using SST, sea surface chlorophyll a, and daily PAR derived
from satellite observations, and recorded good agreement when the model
was validated with this GCMAPS dataset. Maps of annual primary pro-
duction from 1998 to 2002 (Fig. 8), produced according to Asanuma (2006),
show high-productivity areas around the mouth of the Changjiang River
and an intrusion of Oyashio waters, with low-productivity areas in
the Kuroshio meander and in a warm core ring east of mainland Japan.
Ning et al. (1995) reported that annual primary production (gC/m2/y) was
104 in the Bohai Sea, 155 in the Yellow Sea, and 252 off the mouth of the
Changjiang River. The annual primary production figures that Ning et al.
(1995) recorded for these coastal waters were lower than those measured
for ECS continental shelf waters during the present study, possibly due to
the light limitation by suspended matter in the coastal waters. However,
algorithms estimating primary production in Chinese coastal waters as
typical Case II should be validated using in situ primary production data,
associated with chlorophyll a, suspended matter, and colored dissolved
organic matter (C-DOM).

Furthermore, year-to-year variations in annual primary production in
highly productive waters (Fig. 8) such as Oyashio waters and ECS conti-
nental shelf waters should contribute to global variations in primary pro-
duction. In the GCMAPS project, we constructed a dataset of up to 176
measurements of primary production around Japan (Table 1) for validation
of the algorithm that converts SeaWiFS data to primary production.
Through validation and improvement of the algorithm with in situ data,
satellite ocean color observation will become a more effective tool to monitor
primary production, with fine spatial and temporal resolution on global
scales. Satellite-derived estimates of organic production in food webs and
carbon fixation in the surface layer may contribute to better understanding
of variations in fisheries production and global-warming processes.
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Figure 8: Maps of annual primary production (gC/m2/year) from 1998 to 2002 produced according to Asanuma
(2006) (For colour version, see Colour Plate Section).
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Chapter 4

Depth and Time Resolved Primary
Productivity Model Examined for
Optical Properties of Water

Ichio Asanuma�

Tokyo University of Information Sciences, 1200-2, Yato, Wakaba, Chiba, 265– 8501, Japan

Abstract

A depth and time resolved primary productivity model is proposed and validated with in situ

and simulated in situ incubations using 13C in the western Pacific Ocean. In this model, a vertical

distribution of photosynthetically available radiation (PAR) is modeled based on the chlorophyll a

concentration in the surface layer, where the assumption is that the surface chlorophyll a con-

centration determines the light field. A vertical distribution of chlorophyll a concentration is

modeled with an empirical equation, in which a chlorophyll maximum is observed along the

vertical distribution of PAR. A carbon fixation rate is modeled as a function of PAR and temper-

ature, in contrast to previous studies, in which a temperature-dependent function is significantly

improved. By finding an optimum vertical distribution of PAR for various combinations of chlo-

rophyll a concentration and diffused attenuation coefficient, our depth and time resolved primary

productivity model exhibited a good correlation with in situ and simulated in situ incubation.

Keywords: primary productivity; ocean color; chlorophyll a; diffused attenuation
coefficient; remote sensing

1 Introduction

A contribution of biota to global warming in a long timescale is of a strong
interest to human beings as storage of carbon dioxide. In addition, it is
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expected that biota will exhibit its variation of standing stock as a response
to climate change. Bengtsson et al. (1999) studied perceived inconsistencies
between global temperature observations over the last two decades and re-
sults from climate simulations with some hypothesis for the slower global
warming. The biosphere may have a certain contribution and a response
to the global warming. The terrestrial biosphere has been essentially in
balance with implying compensating growth of the biosphere (Houghton
et al.,1997), but oceanic biota has not been studied well because of difficul-
ties of expeditions. Langenfelds et al. (1999) pointed a temporal variation
of oceanic biota response to the carbon flux between the ocean and the
atmosphere. Christian et al. (1997) estimated the net flux of carbon across
particular depth and pointed the biological pump being a sink for atmos-
pheric CO2 in the north Pacific subtropical gyre.

Now, satellite-based ocean color sensing systems provide chlorophyll a
distribution continuously since 1996. The Ocean Color Temperature Scan-
ner (OCTS) provided a global coverage of chlorophyll a distribution from
November 1976 to June 1997 (Simada et al., 1999). The Sea-Viewing Wide
Field-of-View Sensor (SeaWiFS) continues its observation since September
1997 (McClain et al., 1992). This series of ocean color observation has a
possibility to study contribution of phytoplankton to climatological change
for these 10 years, although there is a discontinuity of 2 months between the
two programs. The OCTS and SeaWiFS provide a similar specification with
bands, full-width half-maximum of wavelength, maximum radiance, and
signal-to-noise ratio, which are based on some experience in the Coastal
Zone Color Scanner (CZCS). In contrast, the Moderate Resolution Imaging
Spectrometer (MODIS) and the Global Imager (GLI) have a narrow band-
width with 36 bands, to establish multipurpose missions on ocean, land,
atmosphere, and cryosphere. It is an urgent mission for space agencies to
exhibit a consistency in geophysical values among different sensors indi-
cating different characteristics. The consistency is necessary to analyze a
long-term observation. If there is even a small inconsistency among systems,
a combination of remote sensing parameters may exhibit amplified incon-
sistency in the final geophysical value in time.

Estimates of global primary productivity from the ocean color measure-
ment are one approach to discuss a contribution of the oceanic biota to global
warming or climate change. Morel (1991) discussed the light field in the
water relative to photosynthesis, which is extended to a wavelength-
resolved primary productivity model. Behrenfeld et al. (1997) and Falkowski
et al. (1998) proposed a light- and temperature-dependent primary produc-
tivity model based on the satellite measurement. Arrigo et al. (1998) implied
a possibility of a primary productivity model in southern ocean waters.
Those models worked to some extent, but some failures were also observed,
in which an overestimate was observed in the middle latitude and an
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underestimate was observed in the lower latitude. Photosynthetically avail-
able radiation (PAR) dependent depth and time resolved primary produc-
tivity model was proposed to recover from those failures (Asanuma et al.,
2000, 2001a, b). A vertical distribution of PAR is defined by an empirical
equation as a function of the chlorophyll a concentration in the surface,
which is observed by ocean color sensors. A vertical distribution of chloro-
phyll a concentration is also defined by an empirical equation as a function
of the vertical distribution of PAR. A carbon fixation rate is defined as a
function of PAR and temperature. Through the validation process of the
primary productivity model in this study, this model exhibited overesti-
mates relative to in situ measurement on the water with higher chlorophyll
a concentration. In this chapter, a new algorithm is proposed to represent a
vertical distribution of PAR as a function of chlorophyll a concentration in
the surface. A new depth and time resolved primary productivity model is
validated with in situ measurement using 13C as a tracer around the equa-
torial Pacific, in subtropic waters including the East China Sea, and in
subarctic waters including coastal waters off Hokkaido.

2 Depth and Time Resolved Primary
Productivity Model

2.1 Carbon Fixation Rate

A depth and time resolved primary productivity model was proposed to
estimate primary productivity from satellite measurement (Asanuma et al.,
2000, 2001a, b). A vertical distribution of PAR is defined by an empirical
equation as a function of the chlorophyll a concentration in the surface. A
vertical distribution of chlorophyll a concentration is also defined by an
empirical equation as a function of the vertical distribution of PAR. A carbon
fixation rate is defined as a function of PAR and temperature. This depth
resolved primary productivity model was proposed because of an insufficient
estimate of primary productivity by a single layer model, in which it is
difficult to represent a vertical contribution of primary productivity from a
subsurface or deep chlorophyll a maximum. The model suggested in this
chapter combines vertical parameters and integrates for 24 h to estimate a
primary productivity as follows:

PPeu ¼

Z

t

Z

z

CðzÞPB
fz;PARðzÞ;Tg PARð0; tÞ=PARð0;noonÞ dz dt (1)

where PPeu is primary productivity (mgC m�2 day�1), PB is carbon fixa-
tion rate (mgC mgChl-a�1 m�3 h�1), PAR is photosynthetically available
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radiation (Ein m�2 day�1 for PAR(z), and Ein m�2 h�1 for PAR(0,t) and
PAR(0,noon), C is chlorophyll a concentration (mg m�3), T is water temper-
ature (1C), z is depth (m), and t is time from 0 to 24 h. The carbon fixation
rate, PB, is proposed as a function of daily PAR, temperature, and depth
from the dataset opened through the homepage of the ocean primary
productivity working group (http://marine.rutgers.edu/opp/database/data-
base2.html). In this database, carbon fixation rate (mgC mgChl�1 m�3 h�1) is
given for seawater temperature (1C), daily PAR (Ein m�2 day�1), and depth
(m). The dataset was clustered into some temperature ranges and plotted as
a function of the carbon fixation rate and PAR. Figs. 1a, b, c show plots of the
empirically fitted carbon fixation rate, (PB), as a function of PAR and tem-
perature of 10, 20, and 271C. Each thin solid line is a measure of carbon
fixation rate along the water column for each temperature range at various
stations. Each thin solid line shows an increase of carbon fixation rate from
lower PAR to higher PAR, and low carbon fixation rate with a photoinhi-
bition at the highest PAR, which is corresponding to the surface. Carbon
fixation rate along the water column is proportional to PAR in the surface.
To represent a group of carbon fixation rate at a certain temperature range,
an empirical equation of carbon fixation rate is proposed with regression
lines as a function of PAR and temperature as in the equation (2). The first
exponent term of equation (2) controls a slope in lower PAR region and the
second exponent term controls a depression in higher RAR region.

PB
ðzÞ ¼ cf1� expð�a PARðzÞ=PARð0ÞÞg expð�b PARðzÞ=PARð0ÞÞ (2)

where, PAR(z) and PAR(0) are daily PAR (Ein m�2 day�1) at certain depth
and the surface, and PB is the carbon fixation rate for unit volume and per
hour (mgC mgChl�1 m�3 h�1). In this study, PB(z) is assumed as the carbon
fixation rate at noon. Parameters, a, b, and c were empirically determined
from previous measurement of the carbon fixation rate for unit volume and
per hour with the daily PAR at the surface and with the various sea-surface
temperatures as follows:

a ¼ 0:04 ð0:1 m PARð0Þ þ nÞ (3)

m ¼ �0:0001 T3
þ 0:0036T2

� 0:0007T þ 0:2557 (3-1)

n ¼ 0:00024T3
� 0:0113T2

þ 0:0868T � 0:1042 (3-2)

b ¼ 0:3ð0:00048T3
� 0:019T2

þ 0:1T þ 3:1214Þ (4)

c ¼ 17 (5)
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Figure 1: Empirically filled carbon fixation rate (PH) as a function of Pho-
tosynthetically Available Radiation (PAR) and temperatures of 10, 20, and
171C.
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The carbon fixation rate is plotted in Fig. 2 as a function of sea-surface
temperature for PAR of 10, 20, 30, 40, 50, and 50 Ein m�2 day�l with the
carbon fixation proposed by Behrenfeld and Falkowski (1997). The carbon
fixation rate proposed in this study covers variation of carbon fixation rate
for each temperature, which was difficult to represent with one empirical
equation proposed by the previous studies. In addition, the carbon fixation
rate proposed in this study is quite different from an exponent increase of
carbon fixation rate for temperature, which is proposed by Eppley (1972)
and is often applied to the general circulation model (GCM).

2.2 Photosynthetically Available Radiation Along the Water
Column

An attenuation process of the light penetrating the water is explained by a
diffused attenuation coefficient as follows:

Edlðz2Þ ¼ expf�Kdlðz2� z1Þg Edlðz1Þ, (6)

where Edl(z1) is the initial downwelling diffused spectrum irradiance at
depth z1 m and at the wavelength lnm, Edl(z2) is the final downwelling

Figure 2: Carbon fixation rate (PH) as a function of Photosynthetically
Available Radiation (PAR) and sea-surface temperature. Solid lines show PB

is a function of sea-surface temperature for different PAR intensities, 10(E),
20(m), 30(J), 40(D), 50(}), and 60(&) Ein m�2 day�1. A dashed line exhibits
the maximum carbon fixation rate within a water column (PB

opt) proposed by
Behrenfeld and Falkowski (1997) and is given as the seventh-order poly-
nomial or temperature.
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diffused spectrum irradiance at depth z2 m and Kdl is the downward diffused
attenuation coefficient m�1 at the wavelength lnm. In ocean color remote
sensing, chlorophyll a concentration and diffused attenuation coefficient at
490 nm are estimated from multichannel observation in visible bands. Em-
pirical equations for chlorophyll a concentrations and diffuse attenuation co-
efficient are proposed independently. O’Reilly et al. (2000) proposed four
bands ratio for three ranges of chlorophyll a concentration, where ratios of
510–555 nm, 490–555 nm, and 443–555 nm are used from low to high chlo-
rophyll a concentration, but there remains uncertainty of the algorithm for
high chlorophyll a concentration because of inadequate number of in situ
data. Muller (2000) proposed two bands ratio of 490–555 nm to estimate
diffused attenuation coefficient at 490 nm, and also reported the uncertainty
of the algorithm of diffused attenuation coefficient 40.25 m�1. Both empirical
equations are used for standard products of SeaWiFS project. Unfortunately,
the algorithms for chlorophyll a concentration and diffused attenuation co-
efficient are not insufficient to cover a coastal region, where high chlorophyll
a concentration and high diffused attenuation coefficient are expected.

In the first approach for this chapter, an empirical equation (7) was pro-
posed to retrieve a vertical distribution of PAR along the water column, which
was suggested from in situ measurement of downwelling spectrum irradiance
and chlorophyll a concentrations. In the measurement from the research
vessel on the western equatorial Pacific and the Kuroshio region, a spectrum
irradiance radiometer was deployed to measure a vertical distribution of
downwelling irradiance for a full depth of euphotic zone. PAR was computed
by integrating spectrum responses of downwelling irradiance between 400
and 700 nm. As PAR near the surface exhibits variation because of unstable
wave motion, PAR from 2 or 3 m to 10 or 15 m were plotted in a log scale
and its regression line was used to determine PAR at the surface with an
assumption that the surface water shows a uniform diffused attenuation
coefficient.

PARðzÞ ¼ expf2:3ð�0:025 C0 � 0:017Þ zg PARð0Þ (7)

where C0 is chlorophyll a concentration on the surface, PAR(z) is PAR at
depth z m, and PAR(0) is PAR at the surface. Equation (7) worked to represent
a relationship between chlorophyll a concentration and PAR in the water,
which exhibits a low chlorophyll a concentration with an oligotrophic water.

2.3 Vertical Distribution of Chlorophyll a Along the Water
Column

Platt et al. (1988a) and Platt and Sathyendranath (1988b) proposed an em-
pirical equation to represent a vertical distribution of chlorophyll a concen-
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tration with the Gaussian distribution. In contrast to these empirical equa-
tions, a vertical distribution of chlorophyll a concentration is proposed by
the following empirical equation as a function of a vertical distribution of
PAR and chlorophyll a concentration in the surface.

CðzÞ ¼ ½1� ð0:9þ 0:7C0Þ expf�0:8PAR%ðz;C0Þg� expf�0:8PAR%ðz; C0Þg þ C0

(8)

The equation (8) reproduces a constant concentration of chlorophyll a from
the surface to the just above of the chlorophyll maximum. The chlorophyll
maximum and following vertical distribution of chlorophyll a are observed
just on the slant line of the vertical distribution of PAR. Fig. 3 shows vertical
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Figure 3: Vertical distribution of chlorophyll a concentration based on
vertical distribution of photosynthetically available radiation (PAR). The
PAR along the water column is given by the equation (7). Then the equation
(8) estimates the vertical distribution of chlorophyll a concentration (a) for
0.2 mg m�3, (b) for 0.5 mg m�3, (c) for 1.0 mg m�3, and (d) for 5.0 mg m�3

chlorophyll a concentration on the surface. Second X-axis of each figure
varies to keep an overlap between vertical distribution lines of PAR and
chlorophyll a concentration around the chlorophyll maximum.
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distributions of chlorophyll a concentration based on vertical distributions
of PAR for a different full scale of chlorophyll a concentration on the second
X-axis. The full scale of chlorophyll a concentration on the second X-axis is
empirically adjusted to match a slant line of PAR with a slant line of chlo-
rophyll a concentration for the depth deeper than chlorophyll maximum.
Two bold lines on Fig. 3a represent vertical distributions of PAR and chlo-
rophyll a in case of the surface chlorophyll a concentration being 0.2 mg m�3

with a full scale of chlorophyll a concentration for 1.0 mg m�3 on the second
X-axis. Fig. 3a shows a deep chlorophyll maximum around 100 m and chlo-
rophyll a concentration decreases to 150 m along a vertical distribution of
PAR. Two bold lines in Fig. 3b are in case of the surface chlorophyll a
concentration being 0.5 mg m�3 with a full scale of chlorophyll a concentra-
tion for 1.4 mg m�3. Fig. 3b shows a deep chlorophyll maximum around
60 m. Two bold lines on Fig. 3c are in case of the surface chlorophyll a
concentration being 1.0 mg m�3 with a full scale of chlorophyll a concentra-
tion for 2.5 mg m�3. Fig. 3c shows a subsurface chlorophyll maximum
around 40 m. Chlorophyll a concentration decreases along a vertical distri-
bution of PAR and a valid range of chlorophyll a concentration is limited to
around 60 m, where PAR percentage to the surface is about 0.1%. Two bold
lines on Fig. 3d are in case of the surface chlorophyll a concentration being
5.0 mg m�3 with a full scale of chlorophyll a concentration for 9.0 mg m�3.
Fig. 3d shows a surface chlorophyll maximum. A valid range of chlorophyll a
concentration is limited to around 30 m where PAR percentage to the sur-
face is about 0.1%, although chlorophyll a concentration is plotted to 80 m.

The vertical distributions of chlorophyll a concentration are determined
by equations (7) and (8) as a function of chlorophyll a concentration in the
surface. Equation (7) determines light penetration field. Equation (8) de-
termines vertical distribution of chlorophyll a along the light penetration
field. In this hypothesis, a diffused attenuation coefficient of water is de-
termined by chlorophyll a concentration only and there is a possibility of
error to estimate vertical distribution of chlorophyll a concentration in the
case of water, where suspended sediment’s phytoplankton exists in addition
to phytoplankton.

2.4 Photosynthetically Available Radiation

PAR on the surface is one inevitable parameter to estimate the primary
productivity. Frouin (2000) proposed a research product for PAR from
SeaWiFS measurement with a model for PAR at the surface in the day
(Ein m�2 day�1) using parameters of remote sensing reflectance of clouds
and possibility of cloud presence. Frouin discussed a possibility of the sun
glint region in the missing data, which reduces the accuracy of PAR esti-
mate. Although some uncertainties remain for PAR products, the SeaWiFS
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project provides PAR data in the global scale routinely for end users. In this
study, PAR products for the monthly mean (Ein m�2 day�1) are accepted to
compute a daily averaged primary productivity for the month.

The time resolved primary productivity model in this study ingests the
difference of PAR within a day. Hourly PARs for a cloud free and ideal
atmospheric condition of the globe for each month were calculated with the
help of MODerate spectral resolution atmospheric TRANSmittance algo-
rithm and computer model (MODTRAN) in the version 4.3. MODTRAN was
developed by the Air Force Research Laboratories (AFRL) in collaboration
with Spectral Sciences, Inc. (http://www.vs.afrl.af.mil/Division/VSBYB/
modtran4.html). MODTRAN was operated with the mid-latitude summer
atmospheric model with the aerosol model, in which the boundary layer of
0–2 km is selected to the maritime aerosol type with 23 km visibility at the
sea level. Spectrum radiance of a white target with a reflectance of 1.0 for all
spectrums on the sea surface was calculated from 400 to 700 nm with 10 nm
intervals with MODTRAN. The PAR is the spectrum integration from 400 to
700 nm and the solid angle integration for the hemisphere with an assump-
tion of Lambertian reflectance of the white target. PAR was calculated for
every 101 of latitude for every hour on one day in the middle of each month
from January to December. The monthly mean hourly PAR for a day
(Ein m�2 h�1) is the maximum temporal resolution for the current primary
productivity model.

The hourly carbon fixation rate for the noon on the day, PB(z,noon), is
given by the daily-observed PAR in equation (2). Then the hourly carbon
fixation rate is estimated with the model computed hourly PAR and will be
ingested into the depth and time integration in equation (1).

PB
ðz; tÞ ¼ PB

ðz; noonÞ PARMð0; tÞ=PARMð0; noonÞ (9)

where PARM(0,t) is the model estimated hourly PAR at the hour, t, in the day
at the surface, and PARM(0,noon) is the model estimated PAR at noon in the
day at the surface. This estimate of carbon fixation rate for the time in a day
has an assumption that a carbon fixation rate is proportional to intensity of
PAR and the carbon fixation rate does not reflect a nonlinear response of
physiological activity of phytoplankton. This time-resolved concept of pri-
mary productivity can integrate hourly primary productivity from sunrise to
sunset or for 24 h in the summer time of the high-latitude region according
to time-dependent PAR as a function of latitude and month. In contrast, a
time-integrated primary productivity model generally multiples a carbon
fixation rate per hour and day length in hour, which does not have a suffi-
cient time resolution from latitude to latitude or month to month.
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2.5 Examination of Primary Productivity Model from the
Point of Optical Property

Monthly primary productivity was estimated over the globe using chloro-
phyll a dataset provided by the NASA Goddard Space Flight Center (GSFC)
based on SeaWiFS observation, the Multichannel Sea-Surface Temperature
(MCSST) dataset provided by the Jet Propulsion Laboratory (JPL) based on
NOAA/AVHRR observation, and PAR datasets provided by GSFC based on
SeaWiFS observation. The results of the primary productivity are verified
with the in situ measurement along the equatorial Pacific, the northwestern
Pacific, and the East China Sea.

In situ primary productivity was measured by in situ incubation or on-
deck simulated in situ incubation using 13C solvent as a tracer. Niskin
bottles were applied to take seawater from sampling depths before the
sunrise. A prefilter of 100-mm pore size was applied to intake the seawater
to an incubation bottle of polycarbonate, to avoid the involvement of zoo-
planktons for incubation. The incubation bottles were deployed into the
sampling depths for the in situ incubation before sunrise. The incubation
bottles were set into an incubation pool before sunrise, where several blue
filters were combined to simulate PAR of sampling depths and the water
temperature of the incubation pool was maintained constant with the sur-
face water or a chilling unit. The incubation period was selected to 12 h
from sunrise to sunset or 24 h from sunrise to the next sunrise for incu-
bation, because of the lower sensitivity of 13C relative to 14C, the averaging
physiological activities of phytoplankton within a day. The incubated sam-
ple water was filtered by the glass fiber filter, GF/F, to capture phytoplank-
ton. The phytoplankton on the filter was processed by a mass spectrometer
to analyze carbon uptake by phytoplankton based on the method proposed
by Hama et al. (1987).

Fig. 4 shows a scatter diagram between the primary productivity
estimated by the model in this study and in situ measurement. Model
estimated and measured primary productivities along the equatorial
Pacific (J) and the subarctic water including the northwestern Pacific
(&) indicated a good agreement. In contrast, some model-estimated pri-
mary productivities on the subtropic water including the East China
Sea (D) indicated an overestimate against measured primary productivi-
ties. This overestimation suggests (i) comparisons of measurement on the
different water mass between the model and in situ data, where satellite
data are spatially averaged for 9 km and temporally averaged for 1 month
and (ii) a possibility of overestimation of primary productivity depending
on the PAR vertical distribution, which was determined by chlorophyll a
concentration.
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2.6 A New Model for Vertical Distribution of PAR

Unfortunately, the primary productivity using the empirical equation (8)
exhibited overestimates of primary productivity in the East China Sea and
in the water off the Sanriku. On the East China Sea, the Seikai-ku Fishery
Research Laboratory conducted in situ and simulated in situ incubations to
estimate primary productivities for the water located on the eastern end of
the continental shelf. The water on the eastern end of the continental shelf
was the case-I water, where the concentration of suspended particles or
colored dissolved organic matter is low and is different from the continental
shelf case-II water. Off the Sanriku, the Hokkaido-ku Fishery Research
Laboratory conducted in situ and simulated in situ incubations to estimate
primary productivities for the Kuroshio originated water, the Oyashio, and
the mixing region between two waters. The water off the Sanriku exhibits a
variation in primary productivity with a variation in chlorophyll a concen-
tration, of which water is also classified as the case-I water with a low
concentration of suspended particles and colored dissolved organic matter.
Although the water for in situ measurements was case-I water, the primary
productivity was estimated higher than in situ measurement with higher
chlorophyll a concentration.

A distribution of diffused attenuation coefficient at 490 nm (Kd490)
and chlorophyll a concentration were surveyed from the satellite observa-
tion data, to check validity of the unique empirical equation for PAR by

Figure 4: Scatter diagram of primary productivity between the model es-
timated and in situ and/or simulated in situ measured primary productivity
based on the vertical distribution of PAR in equation (7). The correlation
coefficient between the model estimated and the in situ primary productiv-
ity was 0.307.
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chlorophyll a concentration on the surface. Fig. 5 indicates a scatter dia-
gram between Kd490 and chlorophyll a concentration for the monthly com-
posite data of SeaWiFS in July 2001 on the northwestern Pacific waters
including the East China Sea, the Kuroshio along the Japan Islands, and
water off Sanriku. Points are classified into two groups by a chlorophyll a
concentration of 0.5 mg m�3, which is a threshold of chlorophyll a concen-
tration giving a deep chlorophyll maximum more than 50 m. Kd490 at chlo-
rophyll a concentration of 1.0 mg m�3 shows a variation of 70.02 m–1.
Similarly, Kd490 exhibits variation of 70.05 m–1 at 5.0 mg m�3, 70.12 m�1 at
10.0 mg m�3, and 70.15 m�1 at 20.0 mg m�3. A less variation of Kd490 at
lower chlorophyll a concentration suggests that optical properties in the
open water, like the case-I water, could be represented by a unique equation
between chlorophyll a concentration and Kd490. In contrast, a large vari-
ation of Kd490 at higher chlorophyll a concentration, which is corresponding
to the coastal water, suggests a difficulty in representing a relationship
between Kd490 and chlorophyll a concentration with a unique equation. A
combination of phytoplankton, suspended particles, and colored dissolved
organic matter are cause of variations in Kd490 and chlorophyll a concen-
tration using multispectrum remote sensing data at the current algorithm.

Figs. 6a and b show vertical distributions of PAR estimated by equations
(7) and (10), respectively.

Figure 5: Plots of chlorophyll a concentration and diffused attenuation
coefficient at 490 nm (Kd490) for each pixels observed by SeaWiFS around
Japan in July 2001. Data were selected from the monthly mean of level-3
products of SeaWiFS project. Plots of chlorophyll a concentration less than
0.5 mg m�3 exhibits a deep chlorophyll maximum more than 50 m and is
corresponding to the case-I water. Kd490 exhibits a larger divergence in a
higher chlorophyll a concentration.

Depth and Time Resolved Primary Productivity Model 101



According to Fig. 6a, the equation (7) exhibits an underestimate of PAR
for chlorophyll a concentration of 0.05 and 5.0 mg m�3, where PAR did
not penetrate deeper relative to PARs estimated by Kd490. In addition, an
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Figure 6: Vertical distributions of PAR. Solid lines show vertical distribu-
tions of PAR for three different chlorophyll a concentrations in the surface.
The solid lines in Fig. 6a were computed by equation (7). The solid lines on
Fig. 6b were computed by equation (10). For both figures, possible pairs of
diffused attenuation coefficients at 490 nm (Kd490) for three different chlo-
rophyll a concentrations are plotted by dashed lines based on equation (6).
Kd490 was selected from Fig. 5 for 0.028 and 0.033 m�1, 0.065 and
0.085 m�1, and 0.2 and 0.35 m�1 for 0.05, 0.065, and 5.0 mg m�3 of chloro-
phyll a concentration, respectively. Equation (10) gives the vertical distri-
butions of PAR within the variation of Kd490s for corresponding chlorophyll
a concentration.
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overestimate of PAR was observed for a chlorophyll a concentration of
0.5 mg m�3, where the PAR penetrates into deeper waters.

So as to avoid those over- and underestimates of vertical distributions of
PAR on Fig. 6a, a new empirical equation was proposed to estimate vertical
distributions of PAR based on chlorophyll a concentration to minimize errors
in the previous equation (7) and to find an optimum distribution of PAR as
follows:

PAR%ðzÞ ¼ expfð�0:0018 C3
0 þ 0:022 C2

0 � 0:11 C0 � 0:024ÞZg PAR%ð0Þ

(10)

where C0 is chlorophyll a concentration in the surface, mg m�3, Z is the
depth in m. Fig. 6b shows vertical distributions of PAR estimated by equa-
tion (10) with solid lines. The solid lines are observed within a pair of two
Kd490s of dashed lines for each combination. The proposed equation (10)
provides the optimum vertical distributions of PAR with a unique solution
for each chlorophyll a concentration.

Fig. 7 shows a scatter diagram between in situ and model-estimated
primary productivities. The correlation coefficient was 0.768, which was a
significant improvement of the correlation coefficient from 0.307 in Fig. 4.
Although there are some underestimates at some stations, Fig. 7 exhibits a
good correlation between in situ and model-estimated primary productivi-
ties. The underestimates of primary productivity were observed at three

Figure 7: Scatter diagram of primary productivity between the model-
estimated and in situ measured primary productivity based on the vertical
distribution of PAR in equation (10). The correlation coefficient between the
model-estimated and the in situ primary productivity was 0.768.

Depth and Time Resolved Primary Productivity Model 103



different regions, especially at stations exhibiting higher primary produc-
tivity. As the major group of measurement exhibited a good correlation, the
primary productivity model proposed in this study is working in a good
manner.

But, the spatial and temporal difference between in situ measurement
and model calculation could be one reason for the error. In situ measure-
ment is given for one station, where a limited amount of water mass is a
subject for measurement. There is a difficulty of repeated measurement to
get a mean value because of an incubation period of 12 or 24 h. In situ
measurement will be conducted on the day with the PAR for the day, which
could not be a mean PAR for a month or some period because of a weather
condition for the day. In contrast, the model is applied to chlorophyll a
distribution, sea-surface temperature, and PAR, which are temporally av-
eraged for 1 month and spatially averaged for 9� 9 km2. The major error
was observed in high primary productivity region, which is corresponding to
a high chlorophyll a concentration. There are uncertainties of representing
the water mass for 9� 9 km2 in space, because of a small possibility of
equally distribution of high chlorophyll a concentration on the correspond-
ing area. There are also uncertainties of continuous presence of high chlo-
rophyll a concentration for the period corresponding to in situ measurement
and monthly average of satellite observation. For these reasons, the spatial
and temporal average by satellite observation may be the significant error
for this validation using in situ measurement.

It is ideal to use simultaneous satellite observation with in situ meas-
urement including chlorophyll a distribution, sea-surface temperature, and
PAR. Unfortunately, chlorophyll a distribution observed by a polar orbit
satellite has a possibility of cloud presence within a pass over the in situ
measurement station, which covers the region once a day. Because of this
less opportunity of chlorophyll a observation by polar orbit satellites, weekly
or monthly composite for chlorophyll a concentration is applied, although a
daily composite dataset is provided. In contrast, sea-surface temperature
observation by polar orbit satellite has several opportunities within a day by
a few NOAA polar orbit satellites and high opportunity of observation. The
daily composite sea-surface temperature dataset is not available globally,
but locally. A global sea-surface temperature dataset is provided on a weekly
or monthly composite because of cloud presence. PAR is also provided on a
weekly or monthly basis because of reducing uncertainties of error.

3 Summary

The depth and time resolved primary productivity model using chlorophyll
a concentration and sea-surface temperature was proposed. Through the
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validation process of the model based on in situ measurement on the equa-
torial Pacific, the northwestern Pacific, and the East China Sea, the model
exhibited the overestimates in some waters. It was suggested that the op-
tical properties of water is the major reason for the overestimates.

Then, the optical property of the water around Japan was studied as a
function of chlorophyll a concentration and diffused attenuation coefficient
based on SeaWiFS data. The water with high chlorophyll a concentration
exhibited the wide range of diffused attenuation coefficient at 490 nm
(Kd490). The variation in Kd490 suggested the error in estimating a vertical
distribution of PAR and chlorophyll a concentration as a function of chlo-
rophyll a concentration in the surface water. Our previous empirical equa-
tion (7) for the vertical distribution of PAR is modified to fit the variation of
Kd490 at given chlorophyll a concentration as indicated by equation (10).

As a result, the optically optimized PAR-dependent depth and time re-
solved primary productivity model indicated a good correlation between the
model estimates and in situ primary productivity measurement.
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Chapter 5

Settling Particles in the Central
North Pacific
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Abstract

Sediment-trap experiments were conducted in the central North Pacific from the sub-

tropical to the subarctic water mass (301N–461N) in order to understand the characteristics of

settling particles as they relate to the biological pump. Fluxes of total mass, organic matter

(OM), carbonate, biogenic opal, and lithogenics showed definite seasonal changes. In par-

ticular, there was a steep gradient in export production from June to December 1993 at the

studied sites along a transect at 1751E, while the gradient was quite uniform from January to

April 1994. Annual mean total mass flux varied from 47.4 mg m�2 day�1 at the southernmost

station (Site 6; 301N) in subtropical waters to 207.7 mg m�2 day�1 at the subarctic station

(Site 8; 461N). The transition zone showed intermediate fluxes of 41.1 and 94.6 mg m�2 day�1

(Sites 5 and 7; 341N and 371N, respectively). Correlations between OM, carbonate, and

biogenic opal fluxes suggest that siliceous plankton was mainly responsible for the OM flux

via settling particles at the subarctic station (Site 8), while carbonaceous plankton was

responsible at the subtropical station (Site 6). Compared with the mean particle flux at mid-

latitudes in the Atlantic, the Pacific showed significantly high biogenic opal flux due to

nutrient enrichment in Pacific surface waters. The injection of aerosol-derived iron from the

Asian continent may play a role in enhancing primary and export production in this area. An

interesting feature observed in this study area is that a significant time lag was present

between the dust storm peaks in the Asian continent source region and peaks of lithogenic

flux at Site 7. This time lag suggests that eolian dust is being transported in the following
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manner: atmospheric transport brings dust from the source region to the ocean, where it

remains suspended in the upper layer of the Kuroshio Current and Kuroshio Extension for

up to 2 months; the dust is then removed by incorporation into biogenic pellets or amorphous

aggregates when primary production is active in the upper layers.

Keywords: seasonality; settling particle fluxes; dust; Central North Pacific;
Westerly wind; Kuroshio; Carbon cycle

1 Introduction

The mid-latitude central Pacific is sensitive to climatic change, because its
location corresponds to the position of the Northern Hemisphere westerly
wind system, in a transition zone between subtropical and subarctic waters
(e.g., Thompson, 1981; Thunell and Mortyn, 1995). The central North Pacific
is characterized by two major water masses (the subarctic and subtropical
water masses) and a transition zone (the Kuroshio Current and Kuroshio
Extension; Tchernia, 1980). The subarctic region extends from the Bering
Sea to approximately 401N, where it borders the Kuroshio Current and
Kuroshio Extension along a complex oceanographic front. The subarctic
water mass is characterized by the presence of a permanent halocline at
100–200 m. The subtropical region is located between 311N and 101N. The
northern boundary of this region is determined by the position of the
Kuroshio Current and Kuroshio Extension, which together form a narrow
transition region with a biological composition distinct from that found to
the north or south. The subtropical region is characterized by a permanent
thermocline, in contrast to the permanent halocline of the subarctic region
(Tchernia, 1980). The thermal contrast between the subarctic and subtropi-
cal water masses is so large that a latitudinal shift of the Kuroshio Current
and Kuroshio Extension can affect the climate in the Japanese islands and
North America (Kennett and Ingram, 1995; Behl and Kennett, 1996; Ujiie
and Ujiie, 1999) (Fig. 1).

The differing physical parameters of the subarctic and subtropical water
masses result in differences in primary productivity and biological compo-
nents. The subarctic water mass shows high primary productivity, which
may reduce the partial pressure of carbon dioxide (pCO2) in surface water
during the late spring (Kawahata et al., 1998a). In contrast, the subtropical
water mass is characterized by oligotrophic conditions, with low primary
productivity due to the surface water’s permanent thermocline. A study of
pigments and picoplankton groups in the central North Pacific along a tran-
section at 1751E showed definite gradients in the meridional distribution of
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divinyl chlorophyll-a and autotrophic picoplankton, in terms of carbon bio-
mass reflecting water masses (Ishizaka et al., 1994; Suzuki et al., 1995). In
spite of the significance of biological effects on the ocean carbon cycle, the
downward flux and settling particle composition has been studied in the
mid-latitude central North Atlantic, but not in the central North Pacific
(Honjo and Manganini, 1993).

In order to understand the chemical properties of settling particles and
carbon cycles in the central North Pacific, four sediment trap moorings were
deployed from 1993 to 1994 (Table 1). The studied sites were located in the
subtropical water mass (Site 6), the transition zone (Sites 5 and 7), and the
subarctic water mass (Site 8). This paper documents carbonate, organic
matter (OM), biogenic opal, and lithogenic fluxes of settling particles in
order to characterize biological pump activity at various locations in the
central North Pacific. Iron-addition experiments carried out in recent years
showed substantial increases in chlorophyll-a and primary production and a
reduction in pCO2 in the North-Pacific subarctic gyre (Tsuda et al., 2003;
Boyd et al., 2004). Moreover, the mid-latitude central Pacific is potentially a
receiving area for eolian dust from the Asian continent (Duce et al., 1991).
Consequently, the contribution of eolian dust to primary production and
lithogenic flux is also discussed in this paper.
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Figure 1: Locations of the four sediment-trap mooring sites for this study.
Surface hydrography of the central North Pacific is also presented. The
subtropical and subarctic fronts showed seasonal latitudinal shift. Sites 6, 5,
7, and 8 were located at 30100.10N, 174159.70E; 34125.30N, 177144.20E;
37124.20N, 174156.70E and 46107.20N, 175101.90E, respectively.
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2 Material and Analytical Methods

Trap locations, deployment dates, and sampling interval durations are given
in Table 1. Cone-shaped traps with 21-cup collectors and a collection area
of 0.5 m2 (SMD21-6000: Nichiyu-giken-kogyou Ltd.s, Tokyo, Japan;
PARFLUX Mark 7G-21: McLanes, Woods Hole, MA, USA) were attached
to moored arrays. The same cone shapes were adopted in order to attain the
same collection efficiency. The procedures for deploying sediment traps and
analyzing organic carbon (OC), carbonate, biogenic silica, and lithogenics
are described in detail by Kawahata et al. (1998a,b) and Kawahata et al.
(2000). The filtered samples were dried at 601C, and the dried particles were
weighed (SD ¼ 0.01% for 15–175 mg weight), crushed, and homogenized.
Residues of selected samples were examined under an optical microscope to
verify complete dissolution of the siliceous micro-organisms, especially in
the case of biogenic opal. Several samples gave unusual values and were
analyzed three times, yielding a precision of 73% for the measured opal
values. Other analytical errors are as follows: OC and carbonate, 72%; TN,
73%. The contribution of lithogenic matter was calculated as:

Lithogenics ¼ Total� Carbonate�OM�Opal,

where OM ¼ OC � 1.8.
The relative standard deviations of lithogenics are 5 and 25% for litho-

genic contents of 22 and 5 wt.%, respectively.

Table 1: Locations of the mooring sites, deployment times, trap, and water
depths as well as the durations of the sampling intervals

Trap name Position Seafloor
depth (m)

Trap depth
(m)

Sampling
duration

Station 6 30100.10N 174159.70E 5,390 3,873 16-Jun-93 to
1-Jun-94

Station 5,
shallow

34125.30N 177144.20E 3,365 1,342 16-Jun-93 to
16-Apr-94

Station 5,
deep

’’ ’’ ’’ 2,848 16-Jun-93 to
1-Jun-94

Station 7,
shallow

37124.20N 174156.70E 5,105 1,482 1-Jun-93 to 9-
Apr-94

Station 7,
deep

’’ ’’ ’’ 4,588 1-Jun-93 to 9-
Apr-94

Station 8 46107.20N 175101.90E 5,435 1,412 16-Jun-93 to
16-Apr-94
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3 Results

Six records from different areas and water depths are available (Tables 2–5).
Records from two water depths are available from Site 5 (1,342 and 2,848 m)
and from Site 7 (1,482 and 4,588 m). Total flux data for all sites investigated
are depicted in Fig. 2. The flux data all refer to the o1 mm size fraction,
which clearly dominated particle flux, because the 41 mm size fraction is
generally dominated by zooplankton remains. Seasonal fluctuation in sea-
water temperature through the 300-m-thick water column was estimated
by linear interpolation of World Ocean Atlas 1994 grid data for each site
(Figs. 3–6) (Levitus and Boyer, 1994).

3.1 Site 6

The total flux record at Site 6 exhibited one broad maximum, with inter-
mediate values (116 mg m�2 day�1) from January through March (Fig. 2 and
Table 2). The mean fluxes and relative contributions of carbonate, OM,
biogenic opal, and lithogenics were 30.2 (63.7%), 4.8 (10.1%), 4.2 (8.9%), and
8.2 (17.3%) mg m�2 day�1, respectively, and followed the total flux. Carbon-
ate was the dominant constituent and was composed of coccolithophores and
planktonic foraminifera. Percentages of OM were in the range of 7.5–13.2%.
The biogenic opal content varied from 4.5 to 12.0%. Lithogenic material,
which was mostly clay-sized, ranged from 13.6 to 25.4% of the total mass.

3.2 Sites 5 and 7

The total mass, carbonate, OM, biogenic opal, and lithogenic fluxes at the
shallow and deep traps at Sites 5 and 7 exhibited similar seasonality, al-
though the deep traps occasionally exhibited higher fluxes than the shallow
traps, indicating that vertical transport of settling particles was predom-
inant in the transition zone (Figs. 2, 4, and 5; Tables 3 and 4). Two flux
maxima (in June 1993 and late March 1997) were observed in these four
traps. A relatively stratified water structure from July to September 1993
resulted in low biogenic-material production at both sites. The mean fluxes
and relative abundance of carbonate, OM, biogenic opal, and lithogenics in
the shallow traps were 23.3 (56.7%), 5.2 (12.8%), 3.7 (8.9%), and 8.9 (21.6%)
mg m�2 day�1 at Site 5 and 41.4 (43.8%), 11.6 (12.3%), 17.5 (18.5%), and 24.0
(25.4%) mg m�2 day�1 at Site 7, respectively. Coccolithophores and plank-
tonic foraminifera contributed much more than diatoms at both sites.

3.3 Site 8

The highest total-mass fluxes among all the traps deployed along the 1751E
transect were measured at the northernmost site, where two peaks were
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Table 2: Sampling dates, flux rates, percentage and various ratios (COrganic/N, opal/carbonate and COrganic/
CCarbonate) of material collected at Site 6

Sample
number

Trap cup Duration
(days)

Total % Carbonate Organic
matter

% of Total
Biogenic

opal

Lithogenics COrganic/N
atom

Opal/
carbonate
(wt./wt.)

COrganic/
CCarbonate

atomOpen Close Carbonate Organic
matter

Biogenic
opal

Lithogenics

Site 6
1 16-Jun-93 1-Jul-93 15 29.5 16.8 2.6 2.5 7.5 57.2 8.9 8.6 25.4 8.3 0.15 0.72
2 1-Jul-93 1-Aug-93 31 31.8 19.4 2.4 2.9 7.1 61.1 7.5 9.2 22.3 8.3 0.15 0.56
3 1-Aug-93 1-Sep-93 31 34.7 21.3 3.0 4.2 6.2 61.4 8.6 12.0 18.0 8.9 0.20 0.65
4 1-Sep-93 1-Oct-93 30 24.4 15.0 1.9 2.8 4.6 61.7 7.8 11.6 19.0 8.5 0.19 0.58
5 1-Oct-93 1-Nov-93 31 20.5 13.1 1.6 2.2 3.6 64.0 7.6 10.8 17.6 8.7 0.17 0.55
6 1-Nov-93 1-Dec-93 30 18.9 12.1 1.5 1.7 3.5 64.1 8.2 9.2 18.6 8.7 0.14 0.59
7 1-Dec-93 16-Dec-93 15 26.9 16.7 2.5 2.6 5.1 62.2 9.2 9.8 18.8 8.9 0.16 0.68
8 16-Dec-93 1-Jan-94 16 32.7 19.2 3.1 3.9 6.5 58.9 9.3 11.9 19.8 8.9 0.20 0.73
9 1-Jan-94 16-Jan-94 15 35.9 21.7 3.8 3.9 6.6 60.3 10.5 10.7 18.5 9.0 0.18 0.80

10 16-Jan-94 1-Feb-94 16 84.8 53.0 8.3 7.5 16.0 62.5 9.8 8.8 18.9 9.0 0.14 0.73
11 1-Feb-94 16-Feb-94 15 91.1 58.6 9.0 7.6 16.0 64.2 9.8 8.3 17.6 8.6 0.13 0.71
12 16-Feb-94 1-Mar-94 13 84.1 55.8 8.4 7.3 12.6 66.3 10.0 8.7 15.0 8.6 0.13 0.70
13 1-Mar-94 16-Mar-94 15 88.6 59.7 9.2 7.6 12.0 67.4 10.4 8.6 13.6 8.7 0.13 0.72
14 16-Mar-94 1-Apr-94 16 116.0 80.1 13.5 5.2 17.2 69.1 11.6 4.5 14.8 8.4 0.06 0.78
15 1-Apr-94 16-Apr-94 15 108.0 67.9 14.2 10.0 15.9 62.8 13.2 9.3 14.7 8.7 0.15 0.97
16 16-Apr-94 1-May-94 15 64.9 41.0 7.5 5.7 10.7 63.2 11.6 8.8 16.5 8.6 0.14 0.85
17 1-May-94 16-May-94 15 22.4 13.7 2.8 1.7 4.2 61.4 12.5 7.4 18.7 8.8 0.12 0.94
18 16-May-94 1-Jun-94 16 10.8

Note: All data refer to the o1 mm size fraction.
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Table 3: Sampling dates, flux rates, percentage and various ratios (COrganic/N, opal/carbonate and COrganic/
CCarbonate) of material collected at Site 5

Sample
number

Trap cup Duration
(days)

Total % Carbonate Organic
matter

% of Total
Biogenic

opal

Lithogenics COrganic/N
atom

Opal/
Carbonate
(wt./wt.)

COrganic/
CCarbonate

atomOpen Close Carbonate Organic
matter

Biogenic
opal

Lithogenics

Site 5 shallow
1 16-June-

93
1-July-93 15 140.9 50.3 19.4 18.9 52.3 35.7 13.8 13.4 37.1 8.0 0.38 1.79

2 1-Jul-93 1-Aug-93 31 31.4 13.1 4.2 2.0 12.2 41.7 13.2 6.4 38.7 8.5 0.15 1.47
3 1-Aug-93 1-Sep-93 31 26.9 15.5 3.3 2.1 6.0 57.6 12.2 7.9 22.3 8.3 0.14 0.98
4 1-Sep-93 1-Oct-93 30 9.0 5.6 1.0 0.8 1.6 62.0 11.1 9.2 17.7 7.5 0.15 0.83
5 1-Oct-93 1-Nov-93 31 6.5 4.9 0.6 0.2 0.7 76.2 10.0 2.7 11.0 7.3 0.04 0.60
6 1-Nov-93 1-Dec-93 30 27.7 17.5 3.7 1.7 4.8 63.3 13.4 6.0 17.3 8.4 0.09 0.98
7 1-Dec-93 16-Dec-93 15 42.5 27.5 6.3 2.7 6.0 64.7 14.8 6.4 14.1 8.0 0.10 1.06
8 16-Dec-93 1-Jan-94 16 40.9 25.3 5.5 3.5 6.6 62.0 13.4 8.5 16.1 8.2 0.14 1.00
9 1-Jan-94 16-Jan-94 15 30.0 17.4 3.9 2.3 6.4 58.0 13.1 7.6 21.3 8.0 0.13 1.05

10 16-Jan-94 1-Feb-94 16 38.5 23.4 4.2 3.0 7.8 60.9 10.9 7.9 20.2 8.0 0.13 0.83
11 1-Feb-94 16-Feb-94 15 70.2 43.9 6.8 9.9 9.6 62.5 9.7 14.1 13.7 8.0 0.23 0.72
12 16-Feb-94 1-Mar-94 13 53.4 35.8 4.7 3.8 9.1 67.0 8.9 7.2 17.0 7.6 0.11 0.61
13 1-Mar-94 16-Mar-94 15 52.4 34.7 5.1 6.2 6.4 66.2 9.7 11.8 12.2 7.8 0.18 0.68
14 16-Mar-94 1-Apr-94 16 121.2 76.1 18.3 7.4 19.4 62.8 15.1 6.1 16.0 7.4 0.10 1.11
15 1-Apr-94 16-Apr-94 15 28.9 18.6 4.5 2.3 3.5 64.4 15.6 7.9 12.1 7.4 0.12 1.12

Deep
1 16-Jun-93 1-Jul-93 15 140.0 58.0 16.5 19.3 46.3 41.4 11.8 13.8 33.1 8.0 0.33 1.31
2 1-Jul-93 1-Aug-93 31 92.4 41.9 7.8 13.3 29.4 45.3 8.5 14.3 31.8 7.8 0.32 0.87
3 1-Aug-93 1-Sep-93 31 58.6 30.9 4.6 6.3 16.7 52.8 7.8 10.8 28.6 8.1 0.20 0.69
4 1-Sep-93 1-Oct-93 30 53.8 28.6 4.1 5.9 15.2 53.2 7.6 11.0 28.2 8.1 0.21 0.66
5 1-Oct-93 1-Nov-93 31 46.5 25.8 3.9 6.7 10.0 55.6 8.4 14.5 21.5 8.4 0.26 0.70
6 1-Nov-93 1-Dec-93 30 51.8 29.7 4.3 4.7 13.2 57.2 8.2 9.1 25.5 8.2 0.16 0.66
7 1-Dec-93 16-Dec-93 15 69.9 40.6 6.6 7.9 14.9 58.1 9.4 11.3 21.3 8.6 0.19 0.75
8 16-Dec-93 1-Jan-94 16 67.0 40.0 5.5 8.9 12.5 59.7 8.2 13.3 18.7 8.5 0.22 0.64
9 1-Jun-94 16-Jan-94 15 44.8 23.5 4.1 4.4 12.8 52.4 9.1 9.8 28.7 8.2 0.19 0.80

10 16-Jun-94 1-Feb-94 16 62.8 37.9 5.2 4.5 15.2 60.3 8.3 7.2 24.2 8.4 0.12 0.63
11 1-Feb-94 16-Feb-94 15 63.6 39.5 4.7 6.9 12.5 62.1 7.4 10.9 19.6 8.2 0.18 0.55
12 16-Feb-94 1-Mar-94 13 79.2 51.9 5.5 7.0 14.7 65.6 7.0 8.9 18.6 8.1 0.14 0.49
13 1-Mar-94 16-Mar-94 15 77.8 50.1 6.0 6.2 15.6 64.4 7.7 7.9 20.0 8.0 0.12 0.55
14 16-Mar-94 1-Apr-94 16 156.8 100.8 19.5 11.6 24.8 64.3 12.5 7.4 15.8 7.4 0.11 0.90
15 1-Apr-94 16-Apr-94 15 107.0 68.5 12.8 8.3 17.4 64.0 12.0 7.8 16.3 7.6 0.12 0.86
16 16-Apr-94 1-May-94 15 105.9 67.1 14.5 6.8 17.5 63.3 13.7 6.4 16.5 7.6 0.10 1.00
17 1-May-94 16-May-94 15 40.3 25.6 4.1 3.7 6.9 63.6 10.2 9.1 17.1 6.9 0.14 0.74
18 16-May-94 1-Jun-94 16 159.0 63.6 21.0 29.5 44.9 40.0 13.2 18.6 28.2 7.9 0.46 1.53

Note: All data refer to the o1 mm size fraction.
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Table 4: Sampling dates, flux rates, percentage and various ratios (COrganic/N, opal/carbonate and COrganic/
CCarbonate) of material collected at Site 7

Sample
number

Trap cup Duration
(days)

Total % Carbonate Organic
matter

% of Total
Biogenic
opal

Lithogenics COrganic/N
atom

Opal/
Carbonate
(wt./wt)

COrganic/
CCarbonate

atomOpen Close Carbonate Organic
matter

Biogenic
opal

Lithogenics

Site 7 shallow
1 1-Jun-93 16-Jun-93 15 218.2 76.0 36.4 46.3 59.5 34.8 16.7 21.2 27.3 7.5 0.61 2.22
2 16-Jun-93 1-Jul-93 15 319.6 115.6 41.3 67.2 95.5 36.2 12.9 21.0 29.9 7.6 0.58 1.65
3 1-Jul-93 16-Jul-93 15 147.6 57.9 15.9 31.4 42.3 39.2 10.8 21.3 28.7 7.6 0.54 1.27
4 16-Jul-93 1-Aug-93 16 75.5 32.7 8.4 14.1 20.3 43.2 11.2 18.7 26.9 8.0 0.43 1.19
5 1-Aug-93 16-Aug-93 15 68.7 30.0 7.6 12.9 18.2 43.7 11.0 18.8 26.5 8.4 0.43 1.17
6 16-Aug-93 1-Sep-93 16 100.8 26.7 10.9 28.3 35.0 26.5 10.8 28.0 34.7 7.7 1.06 1.88
7 1-Sep-93 16-Sep-93 15 89.6 25.5 8.3 25.1 30.7 28.5 9.2 28.0 34.3 7.6 0.98 1.50
8 16-Sep-93 1-Oct-93 15 37.2 13.5 3.8 8.8 11.1 36.3 10.2 23.6 29.9 7.5 0.65 1.30
9 1-Oct-93 16-Oct-93 15 45.5 14.9 5.0 11.5 14.2 32.7 11.0 25.2 31.2 7.4 0.77 1.55

10 16-Oct-93 1-Nov-93 16 62.9 24.8 7.8 13.8 16.4 39.4 12.5 22.0 26.1 7.5 0.56 1.46
11 1-Nov-93 16-Nov-93 15 103.3 54.3 12.1 16.8 20.2 52.5 11.7 16.3 19.5 7.9 0.31 1.03
12 16-Nov-93 1-Dec-93 15 61.5 33.0 7.7 9.1 11.7 53.7 12.5 14.9 19.0 7.2 0.28 1.08
13 1-Dec-93 16-Dec-93 15 72.0 41.5 9.3 8.7 12.5 57.7 12.9 12.1 17.4 7.7 0.21 1.04
14 16-Dec-93 1-Jan-94 16 48.7 27.4 6.0 6.2 9.1 56.2 12.2 12.8 18.7 7.6 0.23 1.01
15 1-Jan-4 16-Jan-94 15 17.5 8.9 2.2 2.6 3.7 51.0 12.6 15.0 21.4 7.5 0.29 1.14
16 16-Jan-94 1-Feb-94 16 24.2 10.5 3.4 4.1 6.2 43.4 14.1 17.0 25.5 7.7 0.39 1.50
17 1-Feb-94 16-Feb-94 15 48.9 27.2 4.5 7.0 10.3 55.5 9.1 14.4 21.0 7.3 0.26 0.76
18 16-Feb-94 1-Mar-94 13 56.4 29.9 5.5 8.6 12.3 53.1 9.7 15.3 21.9 7.3 0.29 0.85
19 1-Mar-94 16-Mar-94 15 104.3 63.8 12.8 9.9 17.9 61.2 12.2 9.5 17.1 7.2 0.15 0.93
20 16-Mar-94 1-Apr-94 16 185.2 103.5 22.9 22.0 36.7 55.9 12.4 11.9 19.8 7.4 0.21 1.02
21 1-Apr-94 9-Apr-94 8 99.9 61.2 11.5 10.1 17.1 61.2 11.5 10.1 17.2 7.0 0.16 0.87

Deep
1 1-Jun-93 16-Jun-93 15 71.5 25.0 9.6 15.0 22.0 35.0 13.4 20.9 30.7 7.7 0.60 1.77
2 16-Jun-93 1-Jul-93 15 217.8 81.1 24.1 46.8 65.7 37.2 11.1 21.5 30.2 8.0 0.58 1.37
3 1-Jul-93 16-Jul-93 15 84.4 37.8 6.1 16.2 24.3 44.7 7.3 19.2 28.8 7.7 0.43 0.75
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4 16-Jul-93 1-Aug-93 16 54.8 25.4 3.2 9.3 17.0 46.3 5.8 16.9 31.0 7.8 0.37 0.58
5 1-Aug-93 16-Aug-93 15 50.2 22.6 3.0 9.3 15.3 45.0 6.0 18.6 30.4 7.9 0.41 0.62
6 16-Aug-93 1-Sep-93 16 51.0 22.0 3.1 8.1 17.8 43.1 6.1 15.9 34.9 7.7 0.37 0.65
7 1-Sep-93 16-Sep-93 15 51.2 20.4 3.0 10.7 17.1 39.8 5.9 20.8 33.5 7.8 0.52 0.68
8 16-Sep-93 1-Oct-93 15 52.9 19.4 3.4 11.4 18.8 36.6 6.4 21.5 35.6 7.7 0.59 0.81
9 1-Oct-93 16-Oct-93 15 46.5 17.6 2.7 10.7 15.5 37.8 5.7 23.0 33.5 7.6 0.61 0.70

10 16-Oct-93 1-Nov-93 16 66.7 26.4 3.4 15.1 21.8 39.6 5.1 22.6 32.6 7.6 0.57 0.60
11 1-Nov-93 16-Nov-93 15 60.9 26.7 3.1 12.4 18.6 43.9 5.1 20.4 30.6 7.6 0.46 0.54
12 16-Nov-93 1-Dec-93 15 65.4 25.6 4.5 14.2 21.0 39.2 6.9 21.7 32.2 7.9 0.55 0.82
13 1-Dec-93 16-Dec-93 15 71.1 31.8 4.3 14.6 20.4 44.7 6.0 20.5 28.8 7.6 0.46 0.62
14 16-Dec-93 1-Jan-94 16 69.8 29.9 4.2 15.2 20.5 42.8 6.1 21.8 29.4 7.7 0.51 0.66
15 1-Jan-94 16-Jan-94 15 51.8 20.9 3.2 11.0 16.8 40.2 6.2 21.2 32.4 7.6 0.53 0.71
16 16-Jan-94 1-Feb-94 16 28.3 11.5 1.9 5.7 9.3 40.7 6.6 20.0 32.8 7.9 0.49 0.75
17 1-Feb-94 16-Feb-94 15 51.7 19.6 3.5 10.9 17.7 37.9 6.7 21.1 34.3 7.8 0.56 0.82
18 16-Feb-94 1-Mar-94 13 51.6 20.5 3.4 10.4 17.3 39.7 6.7 20.1 33.5 7.7 0.51 0.78
19 1-Mar-94 16-Mar-94 15 84.6 36.4 5.9 15.7 26.5 43.1 7.0 18.6 31.4 7.7 0.43 0.75
20 16-Mar-94 1-Apr-94 16 138.8 72.1 13.2 20.3 33.1 52.0 9.5 14.6 23.9 7.5 0.28 0.85
21 1-Apr-94 9-Apr-94 8 82.2 45.7 7.6 11.3 17.6 55.6 9.2 13.8 21.5 7.5 0.25 0.77

Note: All data refer to the o1 mm size fraction.

S
ettlin

g
P

a
rticles

in
th

e
C

en
tra

l
N

o
rth

P
a

cifi
c

11
5



Table 5: Sampling dates, flux rates, percentage and various ratios (COrganic/N, opal/carbonate and COrganic/
CCarbonate) of material collected at Site 8

Sample
number

Trap cup Duration
(days)

Total % Carbonate Organic
matter

% of Total
Biogenic

opal

Lithogenics COrganic/N
atom

Opal/
Carbonate
(wt./wt.)

COrganic/
CCarbonate

atomOpen Close Carbonate Organic
matter

Biogenic
opal

Lithogenics

Site 8
1 16-Jun-93 1-Jul-93 15 79.0 26.9 7.0 40.1 4.9 34.1 8.9 50.8 6.3 7.3 1.49 1.21
2 1-Jul-93 1-Aug-93 31 363.6 38.5 37.3 255.6 32.2 10.6 10.3 70.3 8.8 8.4 6.64 4.48
3 1-Aug-93 1-Sep-93 31 325.2 50.1 26.0 220.9 28.2 15.4 8.0 67.9 8.7 7.4 4.41 2.40
4 1-Sep-93 1-Oct-93 30 273.9 47.7 17.5 198.6 10.1 17.4 6.4 72.5 3.7 7.3 4.16 1.70
5 1-Oct-93 1-Nov-93 31 321.8 56.3 18.2 236.3 11.0 17.5 5.7 73.4 3.4 7.2 4.20 1.49
6 1-Nov-93 1-Dec-93 30 294.1 90.4 17.6 178.5 7.6 30.7 6.0 60.7 2.6 7.3 1.97 0.90
7 1-Dec-93 16-Dec-93 15 219.1 58.1 11.4 139.6 10.0 26.5 5.2 63.7 4.6 7.5 2.40 0.91
8 16-Dec-93 1-Jan-94 16 100.5 25.0 5.6 66.2 3.8 24.8 5.6 65.9 3.7 7.1 2.65 1.04
9 1-Jan-94 16-Jan-94 15 64.7 13.7 5.1 44.7 1.1 21.2 8.0 69.1 1.7 6.9 3.27 1.74

10 16-Jan-94 1-Feb-94 16 45.1 9.3 3.2 30.9 1.8 20.5 7.0 68.4 4.1 7.1 3.34 1.58
11 1-Feb-94 16-Feb-94 15 51.2 9.5 4.3 34.9 2.6 18.5 8.3 68.1 5.1 6.6 3.68 2.08
12 16-Feb-94 1-Mar-94 13 59.3 8.9 3.6 44.5 2.2 15.1 6.0 75.2 3.7 7.1 4.98 1.84
13 1-Mar-94 16-Mar-94 15 105.3 14.2 5.0 80.2 5.9 13.5 4.7 76.2 5.6 7.1 5.64 1.62
14 16-Mar-94 1-Apr-94 16 62.6 12.5 3.6 43.2 3.4 19.9 5.8 69.0 5.4 6.3 3.46 1.34
15 1-Apr-94 16-Apr-94 15 191.8 25.3 7.7 151.3 7.6 13.2 4.0 78.9 3.9 6.4 5.99 1.42

Note: All data refer to the o1 mm size fraction.
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identified (one large distinct peak in July to December 1993 and a smaller
peak in April 1994; see Fig. 2 and Table 5). Total fluxes varied between 45.2
and 363.6 mg m�2 day�1 with a mean value of 207.7 mg m�2 day�1. The
carbonate flux pattern followed that of total flux, whereas the biogenic opal,
OM, and lithogenic fluxes peaked in July 1993 and decreased thereafter
(Fig. 6). Settling particles at Site 8 were characterized by a high flux of
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Figure 2: Total mass fluxes (mg m�2 day�1) at Sites 5, 6, 7, and 8 in the
central North Pacific Ocean.
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Figure 3: Temperature cross section from linear interpolation of (29.51N,
174.51E), (29.51N, 175.51E), (30.51N, 174.51E), and (30.51N, 175.51E) grid
data of World Ocean Atlas 1994 at Site 6 (Levitus and Boyer, 1994). Fluxes
of carbonate, organic matter (OM), biogenic opal, and lithogenic matter from
June 1993 to May 1994 at Site 6. OM is estimated by multiplying OC by a
factor of 1.8.
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Ocean Atlas 1994 at Site 5 (Levitus and Boyer, 1994). Fluxes of carbonate,
OM, biogenic opal, and lithogenic matter from June 1993 to April 1994 at
the shallow trap.
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(Levitus and Boyer, 1994). Fluxes of carbonate, OM, biogenic opal, and
lithogenic matter from June 1993 to April 1994 at the shallow trap.
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data of World Ocean Atlas 1994 at Site 8 (Levitus and Boyer, 1994). Fluxes
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biogenic opal. The biogenic opal flux ranged from 30.9 to 255.6, averaging
143.4 mg m�2 day�1, which accounted for 69.0% of total flux. Therefore,
mean ratios of biogenic opal/carbonate and COrganic/CCarbonate (OC/carbonate
carbon) were high (3.9 and 1.7, respectively). Values of biogenic opal/
carbonate and COrganic/CCarbonate at specific sites were as follows: Site 6, 0.15
and 0.72; Site 5, 0.14 and 0.99; Site 8, 0.45 and 1.26, respectively (Tables 2–5).

4 Discussion

4.1 General Features of the Settling Particle Flux in The
Central North Pacific

Although Site 6 exhibited one total mass flux maximum in spring 1994, the
site was seasonally influenced by two different water masses (Figs. 1 and 2):
the subtropical water mass (June–December 1993), when relatively strat-
ified surface ocean conditions resulted in a low mean OM flux (2.3 mg m�2

day�1), and the transition water mass (January–April 1994), when well-
developed mixing of the surface ocean led to moderate OM flux (8.5 mg m�2

day�1) (Fig. 3 and Table 2). During the latter period, Sites 5 and 7 showed
comparable mean OM fluxes of 6.8 and 9.0 mg m�2 day�1, respectively
(Figs. 4 and 5; Tables 3 and 4). These values were also consistent with the
mean OM flux (4.6 mg m�2 day�1) at Site 8, owing to the low temperature
and low light intensity in the subarctic gyre (Fig. 6 and Table 5). This ob-
servation suggests that primary and export production were quite uniform
in a large area from the northern subtropical gyre to the subarctic gyre in
the North Pacific during the winter and early spring of 1994.

Mean OM fluxes from June to December, 1993 were 5.5, 12.9, and
17.7 mg m�2 day�1 at Sites 5, 7, and 8, respectively. The subarctic site (Site 8)
had OM flux 47 times that of the subtropical site (Site 6), indicating the
presence of a steep gradient in export production along the transect of 1751E.
This gradient is reflected in an increase in annual mean OM flux from south
to north, consistent with estimates of primary production from SeaWiFS
satellite imagery (http://www.oceancolor.gsfc.nasa.gov/SeaWiFS/).

Although the seasonal profile of biogenic opal flux was generally similar
to that of OM flux in the studied sites, the latitudinal gradient was much
steeper. Biogenic opal fluxes from June to December were 2.9, 4.0, 21.5, and
167.0 mg m�2 day�1 at Sites 6, 5, 7, and 8, respectively. In spite of the low
gradient, biogenic opal fluxes from January to April, 1994 were 5–9 mg m�2

day�1 at Sites 6, 5, and 7 and 61 mg m�2 day�1 at Site 8. Site 8, located in
the subarctic gyre, was characterized by a particularly significant contri-
bution of biogenic opal to total mass flux (69%); carbonate flux was pre-
dominant in the subtropical and transitional water masses. Mean carbonate
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fluxes were relatively uniform from the subtropical to the subarctic water
masses (30.2 mg m�2 day�1 at Site 6, 41.5 mg m�2 day�1 at Site 7, and
38.5 mg m�2 day�1 at Site 8), in spite of seasonal variability in carbonate
production. This suggests that the annual mean carbonate production rate
was relatively uniform in the central North Pacific, regardless of water
mass, and that the biogenic opal/carbonate ratio increased from the sub-
tropical to the subarctic water masses. This distribution essentially reflects
the prevalent plankton community structure in the upper ocean (Eguchi
et al., 2003), where diatoms predominate over carbonate and calcareous
nannoplankton (high opal/carbonate ratio) at higher latitudes. It is also
consistent with results obtained in one-day floating trap experiments
(Bernstein et al., 1990).

OM export production was generally associated with biogenic opal- and
carbonate-producing plankton communities. Good correlation between
biogenic opal and OM fluxes was observed at Sites 8 (r ¼ 0.90) and 7
(r ¼ 0.91), indicating that diatoms were mainly responsible for the OM flux
in the settling particles. On the other hand, the carbonate flux was highly
correlated with the OM flux at Site 6 (r ¼ 0.98), indicating that foraminifers
and calcareous nannoplankton played an important role in vertical trans-
port of OM by the settling particles. As the OM flux increased, the COrganic/
CCarbonate ratio showed a tendency to increase. A similar tendency has also
been observed in the western equatorial Pacific (Kawahata et al., 1998b) and
on a global scale (Francois et al., 2002). Diatom blooms tend to enhance the
export flux, with higher COrganic/CCarbonate ratios of the settling particles,
leading to a reduction in pCO2 in the upper ocean (Kawahata et al., 1998b).

These observations were confirmed by detailed sampling of the upper
250 m of the water column during May 1993, when sediment traps were
deployed (NEDO, 1994) (Fig. 7). Phosphate, silica, nitrate, and nitrite con-
centrations were low in stratified surface waters at Site 6. In contrast, nu-
trients were abundant in the surface ocean at Site 8. These results are in
agreement with the observation that subarctic water has a greater potential
to enhance biological activity, compared to the subtropical water mass. In
addition, appreciable amounts of these macronutrients were detected in the
surface water at Sites 5 and 7 (located in the transition zone). Although this
zone is not within a high-nutrient low-chlorophyll (HNLC) region, some
nutrients input by eolian dust may affect surface-water primary production.

4.2 Comparison of Annual Mean Particle Fluxes between
Pacific and Atlantic Mid-Latitude Sites

The annual mean export flux of settling particles estimated in this study
was compared with values from mid-latitude sites in the Atlantic. The mean
total mass fluxes at 1 km water depth measured by the North Atlantic
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dissolved silica versus water depth at Sites 6, 7, and 8 along a transect of
1751E. Data are cited from NEDO (1994).
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Bloom Experiment (NABE) for 1 year from 4 April 1989 to 17 April 1990 at
approximately 341N (NABE 341N, located at 33149.3’N, 21100’5W) and 481N
(NABE 481N, located at 47142.9’N, 20151’5W) were 53.2 and 56.7 mg m�2

day�1, respectively (Fig. 8). The NABE 341N value is comparable to that at
Site 5 but lower than that at Site 7, while the NABE 481N value is about
one-quarter of that at Site 8. Mean carbonate fluxes were relatively uniform
from subtropical to subarctic water masses in the Pacific, and were com-
parable to those at the NABE sites (approximately 30 mg m�2 day�1). As has
already been shown by Berger et al. (1989), the mid-latitude region in the
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Figure 8: Mean daily fluxes (a) and contents (b) of carbonate, OM, opal,
and lithogenic matter at Sites 8, 7, 5, and 6 as well as at Atlantic mid-
latitude sites. Results from NABE 341N and 481N are at 1 km water depth of
33149.30N, 2110005W, and 47142.90N, 2015105W, respectively.
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central North Pacific is more productive than that in the central North
Atlantic. The OM flux at Site 5 was about 1.5 times that at NABE 341N,
while that at Site 8 was about 3.5 times that at NABE 481N. The most
important contrast between the Pacific and Atlantic was noticed in the
biogenic opal flux. The mean biogenic opal fluxes from NABE 341N and 481N
were 4.5 and 9.7 mg m�2 day�1, respectively, indicating a gradual increase
in biogenic opal production from south to north. In contrast, mean biogenic
opal fluxes at Sites 5, 7, and 8 were 3.7, 17.5, and 143.4 mg m�2 day�1,
respectively, indicate a sharp increase in biogenic opal production from the
northern transition zone to the subarctic water mass. In general, the deep
water of the North Pacific is enriched with more nutrients such as phos-
phate and silica than is the deep water of the North Atlantic, because the
former has accumulated nutrients and carbon dioxide (through degradation
of settling OM) for a longer period of time (Honjo, 1996). These substances
are also present in upwelled seawater, leading to higher OM and biogenic
opal production rates in the North Pacific. A relatively low flux of biogenic
components was observed in pre- and post-bloom episodes in the Atlantic
sites. Total mass flux averaged 2.5 mg m�2 day�1 during a post-bloom
episode at NABE 341N, suggesting that biogenic production is limited only
during bloom episodes at mid-latitude Atlantic sites.

4.3 Origin of Lithogenics in the Mid-Latitude Central Pacific

The mean annual flux of lithogenic particles was highest at Site 7 (24 mg
m�2 day�1). The mean annual lithogenic fluxes were 8.2 mg m�2 day�1 at
Site 6, 8.9 mg m�2 day�1 at Site 5, and 11.2 mg m�2 day�1 at Site 8. The
position of Site 7 (located at approximately 371N, 1751E) corresponds to the
latitude at which strong mid-latitude westerly winds are found over the
Pacific (maximum high-altitude wind velocities in modern climatic zones
have been observed at about 301N–401N) (Rex and Goldberg, 1958).

The lithogenic fraction was mainly composed of fine clay minerals with a
very small amount of quartz. It is difficult to analyze chemical and isotopic
properties of the quartz in the settling particles because of sample size
limitations. Two types of quartz grains (type 1, relatively round quartz
grains with diameters between 0.1 and 8 mm; and type 2, relatively large,
angular quartz grains 48 mm in diameter) have been identified in the
sediments of core H3571, recovered from 3,571 m water depth at the Hess
Rise (34154.25’N and 179142.18’E, Fig. 1) (Kawahata et al., 2000).

The oxygen isotopic composition (d18O) of quartz provides direct evi-
dence for the provenance of soils and sediments. Oxygen isotopic composi-
tion values of 16.4%–17.7% of the type 1 quartz are comparable to those of
loess from China and dust from Japan (+16.2% and +16.3%; Syers et al.,
1972; Mizota and Matsuhisa, 1985), but differ from those of quartz dust from
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the mid-continental United States (+19% to +20%), volcanic ash quartz
(usually o+10%), and quartz transformed from biogenic opal during
early diagenesis (4+30%). In addition, the type 1 quartz was similar with
respect to grain size and shape to quartz in Chinese loess. We therefore
concluded that the type 1 quartz was of Asian continental origin and was
transported through the atmosphere, whereas the type 2 quartz was deter-
mined to be of volcanic ash origin (Kawahata et al., 2000). The distribution
of the aerosol quartz correlates well with that of total Al, indicating that the
alumino-silicate minerals such as feldspars and clay minerals may also have
been transported from the Asian continent as an aerosol.

4.4 Relationship between Lithogenics and Primary
Production in the Mid-Latitude Central Pacific

Based on surface-layer water properties, phosphorus (P) and nitrate do not
appear to be significant limiting nutrients to phytoplankton growth in the
transition zone. The injection of aerosol-derived iron from Asian dust storms
(Martin et al., 1987), which is known to cause significant short-term in-
creases in subtropical productivity in central regions of the North Pacific
Central Gyre (Ditullio and Laws, 1991) is probably of greater relevance.

To estimate the flux of iron in association with mineral aerosol particles,
we used the value of 1.6 wt.% for the abundance of Fe in mineral aerosols
(Maeda et al., 2002). The solubility (in seawater) of elements attached to
mineral aerosols is important in determining their impact on oceanic
biogeochemical cycles. Solubility is dependent primarily on pH, sources, and
particle size. Although it is impossible to give definite solubility values, the
solubility in seawater of P attached to aerosol particles is estimated to be
o1%–50% (Wollast and Chou, 1985; Duce et al., 1991).

The fixation rate of OC (FixationOrganic) can be estimated as follows:

FixationOrganic ¼ a�
1:6� 10�2

� FLUXAerosol

b

where a is the solubility in seawater of an element attached to aerosol par-
ticles and b is the Fe:C ratio of particulate OM. If it is assumed that
FLUXAerosol is equal to the lithogenic flux, than the minimum value of a is
1%, and that of b ¼ 7.9 � 10�5 (Boyd et al., 2004), respectively. FixationOrganic

fluctuates between 1 and 106 (mean 21) mg m�2 day�1 at Site 5, between 8
and 193 (mean 48) mg m�2 day�1 at Site 7, and between 2 and 65 (mean 18)
mg m�2 day�1 at Site 8, respectively. Since we adopted a solubility of 1%
here, these values should be minima. The higher FixationOrganic values
suggest that iron input may play an important role in enhancing primary
and export production in this area, unless other nutrients become limiting.
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Dust-storm activity, which is responsible for releasing mineral dust to
the atmosphere in eastern Asia (e.g., the Gobi and Takla Makan deserts), is
greatest in spring (March–May) as a result of the combined effects of low
rainfall, increased occurrence of high winds associated with cold fronts, and
freshly ploughed soil for spring planting (e.g., Watts, 1969; Uematsu et al.,
1983) (Fig. 9). There is no meteorological station on mid-latitude central
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Figure 9: (a) Frequency of dust storm reports in the eastern part of Asia in
1981 and early 1982 (Uematsu et al., 1983). (b) Temporal variation of the
atmospheric dust concentration records observed at Tagawa and Karita-
wakahisa cities in the Fukuoka (331N, 1311E), the western part of Japan in
1998 (Environmental section of Fukuoka local government, personal com-
munication). (c) Lithogenic flux observed at the shallow trap of Site 7.
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North Pacific oceanic islands for monitoring eolian dust. Two stations
(at Tagawa and Kanda in Fukuoka, 331N, 1311E, western Japan) have ac-
cumulated dust concentration records for the last 5 years. The dust flux is
low during summer, autumn, and winter, with the highest levels recorded
from February through May (Environmental section of Fukuoka local gov-
ernment, personal communication). Another data set was provided by the
University of Nagoya, which has analyzed seasonal variation of vertically
integrated aerosol backscatter at 532 nm at Nagoya City (351N, 1371E) since
March 1994. No data were available covering the period of the sediment-
trap experiments, but 3-year measurements at Nagoya present general
seasonal trends regarding the amount of dust in the upper atmosphere
(4–8 km); the dust was transported more extensively over the Pacific in this
layer than in the lower layer. Aerosol concentrations were very high each
year from April to May in spite of large, sporadic short-term (o1 week)
fluctuations from September to early October and December to January.
However, lithogenic fluxes at Site 7 showed relatively low values during
these periods. In contrast, low aerosol concentration was always observed
from June to August, late October to November, and February to early
March, when large lithogenic fluxes were observed at Site 7. Therefore, it is
evident that the maximum lithogenic flux of the settling particles into the
ocean’s interior lagged behind the maximum aerosol concentration in the
atmospheric column.

The time lag was partly due to transport time from the Japanese islands
to Site 7 and settling time from the surface ocean to the sediment trap.
Although Site 7 is approximately 2,500 km downwind from the Japanese
islands, the high speed of the jet stream (often 4500 km day�1) quickly
transports dust to the site (Duce et al., 1980). Biogenic aggregates (such
as diatom and coccolithophores) cause accelerated sinking of small non-
biogenic particles with settling speeds of 160–200 m day�1; thus, it takes
o10 days for particles to sink from the upper water column to the shallow
trap depth (e.g., Takahashi, 1986). Because the actual time lag could
be between 15 days and 2 months, it is unlikely that eolian dust was
transported directly from the source area to the trap site through the
atmosphere.

For a single floating particle of dust, the small particle size (o8 mm)
prevents it from being removed rapidly from the ocean surface. This sug-
gests that the eolian dust was transported from the source region to the
ocean by the wind, and that it then remained suspended in the upper water
layer of the Kuroshio Current and Kuroshio Extension for up to 2 months;
the dust was then removed by incorporation into biogenic pellets or amor-
phous aggregates when primary production was activated. In other words,
transport of lithogenic matter in the transition zone was by both westerly
winds and the Kuroshio Extension. Although phytoplankton primary
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production has now been demonstrated to be iron-limited in some areas of
the oceans (e.g., Boyd et al., 2000, 2004; Tsuda et al., 2003), recent studies
emphasize that there are more complex interactions within the ocean than
simple iron limitation or sufficiency, with evidence of co-limitation by iron
along with light and other macro- and micronutrients (e.g., Si, N, P, Co, and
Zn). Aerosol particles are so enriched in heavy metals that these micronu-
trients provide more constraints for primary and export production in the
transition zone in the North Pacific (Fig. 9).

5 Summary and Conclusions

1. Although fluxes of total mass, OM, carbonate, biogenic opal, and
lithogenics showed definite seasonal change, the annual mean fluxes
generally increased from south to north. Diatoms played a significant
role in OM and biogenic opal fluxes at the subarctic station (Site 8),
while coccolith and foraminifera were important at the subtropical
station. In general, an increase in OM flux was associated with higher
opal/carbonate and COrganic/CCarbonate ratios in the central North
Pacific.

2. Dust particles originating from the Asian continent contributed to
lithogenic flux in the central North Pacific. The injection of aerosol-
derived iron from Asia has a potential role in enhancing primary and
export production in this area, unless other nutrients such as phos-
phate and nitrate become limiting. The maximum lithogenic flux of
the settling particles into the ocean’s interior lagged behind the max-
imum aerosol concentration in the atmospheric column. A plausible
explanation for the time lag could be that eolian dust was transported
from the source region to the sea through the atmosphere, remained
suspended in the upper water column of the Kuroshio Current and/or
Kuroshio Extension for some time, and was then removed by incor-
poration into biogenic pellets or amorphous aggregates when primary
production became enhanced.

3. The significantly higher biogenic opal flux measured in the Pacific as
compared with the Atlantic can be ascribed to higher concentrations
of nutrients in central North Pacific surface waters.
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Chapter 6

Understanding Biogeochemical
Processes in the Pacific Ocean on
the Basis of Labile Components of
Settling Particles
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Abstract

Settling particles collected by sediment traps deployed intermittently for about 1 year at

various locations in the Pacific Ocean showed spatial, sporadic and sometimes seasonal

variations in flux and labile composition of the particles. The samples from the western Pacific

warm pool (WPWP) provided clear evidence of El Niño–Southern Oscillation (ENSO)-related

changes in the composition of particulate labile components (amino acids (AA) and hexosa-

mines (HAs)) and in the flux of settling particles. The particle flux in the western WPWP was

higher during El Niño, whereas in the eastern WPWP it was higher during La Niña. Settling

particles in the WPWP were more labile during a La Niña event than during El Niño. On the

other hand, settling particles collected from the Tasman Sea during La Niña showed the

highest concentration of AAs, HAs and particulate organic carbon-normalised AAs, which is

consistent with higher primary productivity in this part of the Pacific Ocean. Settling particles

at deeper depths in the ocean are more deficient in labile components than those at shallow

depths because of ongoing microbial decomposition of organic matter. Occasionally higher

particle fluxes were also observed at deeper depths relative to those at shallow depths,
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probably as a result of lateral advection and re-suspension of highly degraded particulate

organic matter in the deep ocean.

Keywords: settling particles; particle flux; amino acid; hexosamine;
biogeochemistry; Tasman Sea; Coral Sea; Pacific Ocean

1 Introduction

Primary production (PP) in the open ocean is the major process supplying
nutrients and energy to organisms living in deep waters and on the sea floor.
However, this supply is influenced by climatic phenomena on local, regional
and global scales. One such phenomenon is the El Niño–Southern Oscillation
(ENSO) event, whose first signs of initiation become evident in the equa-
torial Pacific Ocean. Under normal conditions, the central and eastern
equatorial Pacific are characterised by upwelling, which supports moderate
primary productivity. In contrast, in the western Pacific around the Indonesian
maritime continent, the supply of nutrients through the Mindanao-dome
upwelling and terrestrial inputs due to tropical rainfall on the continent
support a relatively high primary productivity (Kawahata, 1999). The equa-
torial waters between these two regions, including the western Pacific warm
pool (WPWP), show the lowest primary productivity (Mackey et al., 1995,
1997; Antoine et al., 1996; Radenac and Rodier, 1996). As an El Niño (the
warm phase of ENSO) event sets in, this pattern of upwelling and produc-
tivity changes, depending upon the intensity of the event. Owing to weak
easterlies, upwelling of cold equatorial water ceases in central and eastern
parts of the Pacific and the warm water and rainfall zone usually found
around the Indonesian maritime continent shifts eastwards. The shift of the
rainfall zone probably decreases the supply of nutrients from surface runoff
in the Indonesian maritime region, while shoaling of the nutricline by
20–40 m would enhance primary productivity in the surface water, as
reported for the 1987 El Niño by Radenac and Rodier (1996). Strong westerly
wind bursts produce strong mixing events in the Indonesian maritime re-
gion (Godfrey and Lindstrom, 1989). During a typical El Niño event, the
WPWP extends farther to the east and reaches or overpasses the interna-
tional dateline (1801E/W). The onset of a La Niña (the cool phase of ENSO)
event coincides with strong easterlies, which drive an intense upwelling in
the eastern equatorial Pacific, causing the cold water ‘tongue’ to extend well
beyond the international dateline, where primary productivity increases to
levels higher than those typical for the WPWP (Glantz, 1996).

ENSO-related changes are thus closely associated with changes in up-
welling patterns and nutrient availability in surface waters of the equatorial
Pacific. These changes influence plankton distribution and PP across the
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equatorial Pacific (McCarthy et al., 1996; Welling and Pisias, 1998). The
western equatorial Pacific appears to experience marked temporal variations
related to zonal displacements of both the WPWP and the upwelling regions
(Le Borgne et al., 2002). Changes in the western Pacific caused by these
displacements and influencing various aspects of the oceanography, clima-
tology and biogeochemistry of the region, have attracted a lot of attention
(e.g. Dunne et al., 2000; Gupta and Kawahata, 2000; Higgins and Mackey,
2000; Gupta and Kawahata, 2002). Primary production and the subsequent
sinking of particulate organic matter (POM) in the form of fecal pellets and
aggregates in this region may be fundamental for understanding the global
carbon cycle, because about 80% of the net community production in the
equatorial Pacific is estimated to sink to the sea floor in the form of POM
annually (Hansell et al., 1997a, b).

The relative abundance of individual amino acids (AAs) and hexos-
amines (HAs) in settling particles in the ocean indicates the degree of
degradation of the POM and its potential for further degradation by het-
erotrophs as it descends through the water column. Estimation of these
relatively labile (easy to metabolise) compounds, and various parameters
based on them, has been used extensively to understand biogeochemical
processes operating in various oceans (e.g. Cowie and Hedges, 1994; Wakeham
et al., 1997; Dauwe and Middelburg, 1998; Gupta and Kawahata, 2002,
2003a; Ingalls et al., 2003). Since ENSO-related variability implies dramatic
changes in oceanographic properties, biological activities and nutrient
availability in the equatorial Pacific, a consequent change in the labile
composition of the settling POM is expected. Sediment traps have been used
extensively to estimate particle flux in oceans and have provided new in-
formation on the composition of settling particles. Major components of the
settling particles in the low- to mid-latitude austral western Pacific show
carbonate dominance and opal depletion (Kawahata and Ohta, 2000).
Because of its low particle flux, the southern Coral Sea has been reported to
be oligotrophic, and POM here is more recycled than that further south in
the Tasman Sea, where high levels of new production lead to a higher
particle flux (Kawahata and Ohta, 2000).

In this article, we discuss sediment-trap data obtained from the western
equatorial Pacific, Coral Sea and Tasman Sea in order to investigate the
impact of ENSO variability on the export flux and biogeochemistry of set-
tling POM. Export flux of POM implies the amount of particles settling
through a unit area in water column in a unit time. The 1991–1999 period,
which includes both an El Niño and a La Niña event, is examined. The
1990–1995 El Niño is thought to be the longest warming event on record
since 1882 (Trenberth and Hoar, 1996), and the 1999–2001 La Niña phase
actually started in the middle of 1998 (Garrett, 2000). The sediment-trap
data sets from the Coral Sea and Tasman Sea provide an opportunity to
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study latitudinal changes in the AA and HA flux and composition. Moreover,
the sampling plan was designed so that seasonal and vertical changes in the
flux and composition of settling particles in these parts of the Pacific Ocean
could be explored.

2 Study Area

Two series (M and N) of sediment traps were deployed along the equator in
the western Pacific (Fig. 1). Trap sites M1 and N2 were located in the hemi-
pelagic zone, where the Mindanao and Halmahera eddies are prominent
features (Godfrey, 1996). The other trap sites in these series were located
either in the WPWP or in the equatorial upwelling area. Except at site N10,
the ENSO condition did not change for the entire duration of each trap’s
deployment, i.e., either El Niño or La Niña (Fig. 2) conditions prevailed
during trap deployment. The north equatorial current (NEC), equatorial
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Figure 1: Location of sediment traps in the western equatorial and south-
eastern Pacific Ocean. Bathymetric contours correspond to 4,000 m water
depth.
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counter current (ECC) and south equatorial current (SEC) are the three
major surface ocean currents in this area. West-bound equatorial currents
(NEC and SEC) are the major forces causing the accumulation of warm
water in the WPWP (Gordon and Fine, 1996). Also important is the equa-
torial undercurrent (EUC), an east-bound flow having the potential to affect
the settling-particle flux along the equator (Hansell et al., 1997a). Sea sur-
face temperature (SST) is usually higher than 28 1C throughout the WPWP,
but thermal and spatial variations may occur owing to changes in solar
irradiation, ENSO events and global warming or cooling (Yan et al., 1992).

Another series of traps was deployed in the south-west Pacific near the
Australian continent. Important hydrographical features in this region are
the tropical convergence and Tasman front. The subtropical east Australian
current (EAC) merges with the temperate Tasman current at about 301S
and forms the Tasman front, which diverts towards the central Pacific
(Mulhearn, 1987). The merger results in a complicated pattern of eddies
(Tate et al., 1989), whose deep structure extends from the sea surface to
abyssal depths (Mulhearn et al., 1986). Sites S11 and S12 were located north
of the tropical convergence in the Coral Sea, while site S13 was located
south of the Tasman front in the Tasman Sea. The average monthly SST
varies between 26.5 1C and 30.2 1C around S11 and between 24.7 1C and
29.0 1C around S12. The Tasman Sea is characterised by seasonal SST
changes with larger variation (between 16.2 1C and 21.9 1C), caused by
latitudinal fluctuation of the Tasman front.

3 Methodology

Bottom-tethered sediment-trap moorings were deployed in the western
equatorial Pacific and south-west Pacific Ocean. The locations of moorings
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during the sediment trap experiments and approximate duration of sam-
pling, shown by the positions of the trap site names (see details in Table 1).
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and other details are provided in Table 1. In general, N-series trap moorings
were deployed during El Niño, while M- and S-series moorings were
deployed during La Niña (Fig. 2). Two cone-shaped sediment traps were
deployed at different depths at each mooring, except at sites N10, S11 and
S13, each of which had only one, shallow trap. Each trap had a 0.5-m2

aperture and 21 to 26 sampling bottles attached to its rotary plate. Prior to
deployment, the sampling bottles were filled with filtered (membrane filter,
0.45mm pore size) seawater, which was mixed with sodium borate/boric acid-
buffered 3% formalin solution to retard microbial degradation of the col-
lected samples. After trap recovery, the samples were stored under refrig-
eration at 2–4 1C until analysis in a land-based laboratory. Recognisable
zooplankton ‘swimmers’ were picked out with forceps, and then the samples
were filtered through a 1-mm-mesh screen. After filtration, the samples
were split into aliquots using a high-precision sample splitter. One aliquot of
each sample was filtered through a 0.45-mm (pore size) polycarbonate filter.
The sample on the filter was then rinsed with 2–3 mL Milli-Q water and
dried at 40 1C in an oven. The dried sample was removed from the filter and
homogenised manually using an agate mortar (Kawahata et al., 1998a, b).

The analysis of AAs and HAs has been described in detail by Gupta and
Kawahata (2000). In brief, 5–10 mg of sample was hydrolysed with 6 N HCl
at 110 1C under an argon atmosphere in a sealed glass ampoule for 22 h.
Fifty microlitres of internal standard (2 mM L-norleucine) was added to each
ampoule prior to hydrolysis. The hydrolysed sample was filtered through a
0.45-mm (pore size) filter and then dried in a rotary evaporator at 40 1C. The
residue was dissolved into about 2 mL Milli-Q water and dried again to
remove HCl. The residue was then dissolved in 1000mL of a buffer solution
(pH 2.2). Ten microlitres of this solution was injected by an autosampler into
a Shimadzu AA analyser (LC-9A). Post-column derivatisation of eluted
species was carried out with o-phthaldialdehyde (OPA) and then detected by
a fluorescence detector. Ten microlitres of an AA and HA standard solution
of known composition was also injected after every fifth sample, and the
resulting peak areas were compared to estimate AA and HA concentrations
in the samples. The method produces results with a relative standard devi-
ation (RSD) of less than 10%. Carbon and nitrogen were analysed in dried
homogenised samples with a Yanaco MT-5 CHN analyser. The RSD with
this technique is 2% for organic carbon (OC) and 3% for total nitrogen (TN).
In duplicate analyses of OC and TN, RSD was equal to 2.0 and 0.2 wt.%,
respectively.

Amino acids are among the easily degradable constituents of POM and
are quickly metabolised while settling through the water column (Handa and
Tominaga, 1969; Lee and Cronin, 1984). Wakeham et al. (1984) reported that
decreases in aspartic and glutamic acids relative to non-protein AAs (b-alanine
and g-aminobutyric acid) might result from preferential decomposition of
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Table 1: Details of sediment-trap location, deployment depth and sample collection period

Site Location Trap Trap
depth (m)

Seafloor
depth (m)

Sampling duration Sample
interval
(days)

Trap
type

Begin End

N2 4107.50N 136116.60E Shallow 1,769 4,888 4-Jun-91 15-Apr-92 12–16 a
Deep 4,574 4-Jun-91 15-Apr-92 12–16 a

M1 4102.90N 135100.00E Shallow 970 4,762 1-Jan-99 21-Nov-99 15 b
Deep 2,940 1-Jan-99 21-Nov-99 15 b

M3 0100.80N 145101.60E Shallow 1,020 3,680 5-Jan-99 21-Nov-99 15 b
Deep 2,060 5-Jan-99 21-Nov-99 15 b

N10 1113.20N 160133.90E Shallow 1,164 3,181 1-Oct-94 16-Apr-95 13–15 a
N3 0100.20N 175109.70E Shallow 1,357 4,880 1-Jun-92 16-Apr-93 13–16 c

Deep 4,363 1-Jun-92 16-Apr-93 13–16 c
M5 0102.30N 174156.40E Shallow 1,040 4,828 13-Jan-99 21-Nov-99 15 b

Deep 3,000 13-Jan-99 21-Nov-99 15 b
S11 12159.60S 155159.60E Shallow 1,315 1,832 16-May-95 1-Apr-96 14–16 c
S12 17145.70S 154149.50E Shallow 1,298 2,821 16-May-95 16-Jan-96 14–16 c

Deep 2,304 16-May-95 16-Mar-96 14–16 c
S13 35131.00S 161100.00E Shallow 1,161 3,174 1-Jun-95 1-Mar-96 14–16 c

Note: Trap types – (a) 21 sample cup trap, MARK7G-21, McLane Ltd., Woods Hole; (b) 26 sample cup trap, SMD26S-6000, Nichiyu-
giken-kogyou Ltd., Tokyo; (c) 21 sample cup trap, SMD21-6000, Nichiyu-giken-kogyou Ltd., Tokyo.
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protein AAs. Molar ratios of aspartic acid/b-alanine (Asp/b-Ala) and glut-
amic acid/g–aminobutyric acid (Glu/g-Aba) have been used as indicators of
microbial degradation of POM, with low ratios indicating relatively more
degraded POM (Ittekkot et al., 1984b). The molar ratio between total AAs
and HAs (AA/HA) indicates the relative degree of microbial reworking and
phyto- and zooplanktonic sources of POM (Degens and Mopper, 1976;
Degens and Ittekkot, 1984). Low AA/HA ratios with the HA being mostly
glucosamine (Glc-NH2) indicate large amounts of chitinous material. In
many bacterial cell walls, both Glc-NH2 and galactosamine (Gal-NH2) are
present (Walla et al., 1984), and a Glc-NH2/Gal-NH2 ratio o4 has been
measured in various bacterial species (Kandler, 1979). The Glc-NH2/Gal-NH2

ratio is therefore often used to differentiate chitinous zooplankton from
microbial biomass (Haake et al., 1992). These diagenetic indicator ratios
are qualitative or semi-quantitative in nature, especially the Asp/b-Ala and
Glu/g-Aba ratios, owing to multiple possible origins of b-Ala and g-Aba (Lee
and Cronin, 1982). Nevertheless, b-Ala and g-Aba contents of settling POM
increase with increasing depth. The Glc-NH2/Gal-NH2 and AA/HA ratios are
more definitive (quantitative).

4 Results and Discussion

4.1 Variations in Total Mass and AA Fluxes

In the hemipelagic zone, average total mass flux (TMF) at site N2 was
higher than that at site M1, and the vertical decrease in the average TMF at
both sites was negligible (Fig. 3). Comparison of data from individual sam-
ples revealed that the deep trap sometimes recorded a lower TMF of settling
particulate matter but at other times, higher ones. In contrast, at site M3 in
the warm pool and M5 in the equatorial-upwelling zone, the deep traps
recorded a higher TMF than the shallow traps throughout the sampling
period. In addition, the traps at these sites recorded higher fluxes relative to
those deployed at sites N10 and N3. AA fluxes in the hemipelagic zone were
much lower at site M1 than at site N2. The range of variation in the
M-series traps was much larger than that in the N-series traps (Gupta and
Kawahata, 2002). The shallow trap at site M3 in the warm pool zone
occasionally recorded a near-zero flux during September–October 1999
(Fig. 4). At site S11 in the Coral Sea, TMF varied from 4.2 to 58.7 mg m–2 d–1,
with higher fluxes during the austral spring (August–September 1995) and
at the beginning of the austral summer (October 1995) (Gupta and Kawahata,
2003a). TMF at site S12 in the Coral Sea varied from 6.8 to 17.7 mg m–2 d–1,
with no particular seasonal trends. However, in the deep trap at site 12,
TMF was occasionally higher than the corresponding sample in the shallow
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trap. Nonetheless, the average TMF in the deep trap was lower than that in
the shallow trap (Fig. 3) and varied from 2.8 to 11.7 mg m–2 d–1. TMF at site
S13 varied from 6.3 to 68.4 mg m–2 d–1, with a strong seasonal signal in late
spring (September–October 1995).

Higher TMF in deep traps, relative to shallow traps, has been observed
by a number of other studies, and various explanations have been offered to
account for the increase in particle flux with increasing water depth.
Chemolithotrophic new production (Karl and Knauer, 1984; Roth and
Dymond, 1989), aggregate formation due to zooplanktonic activity in deep
waters (Walsh et al., 1988a), lateral advection from a nearby more produc-
tive region (Siegel et al., 1990) and contribution of re-suspended particles
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Figure 3: Regional variations in average values of settling particle mass
and amino acid fluxes in the western equatorial and south-eastern Pacific
Ocean.
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in the western equatorial and south-eastern Pacific Ocean. The scales in
each sub-figure have been deliberately chosen to enhance the seasonal var-
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from nepheloid layer (Walsh et al., 1988b; Gupta and Kawahata, 2000) are
possible explanations for the increase in the fluxes with increasing water
depth.

4.2 Variations in Biogeochemical Parameters

Settling POM was enriched in AAs in M-series traps compared with in
N-series traps. In all cases, AA content decreased from the shallow trap to
the deep trap at the same site. This vertical decrease is commonly inter-
preted as a greater loss of labile AAs relative to other metabolites because of
ongoing microbial degradation of settling POM. The deep traps at all sites
clearly recorded higher b-Ala+g-Aba contents relative to the shallow traps.
In the hemipelagic zone, the average b-Ala+g-Aba content was higher in the
M1 traps than in the N2 traps. The shallow traps at sites M3 and N10 in
the warm pool zone had nearly equal b-Ala+g-Aba concentrations, while at
the eastern end of the pool (site N3) b-Ala+g-Aba content was relatively low
in the shallow trap. In the equatorial upwelling zone, the shallow trap at
site M5 recorded a b-Ala+g-Aba content comparable to that recorded in the
shallow traps at the other sites.

Amino acid carbon and nitrogen contents relative to OC and TN (AA-C
and AA-N, respectively) showed a vertical decrease between the shallow and
deep traps at all sites (Fig. 5). Also, the M-series traps recorded considerably
higher AA-C and AA-N contents than the N-series traps. In all three zones,
the ratios Asp/b-Ala, Glu/g-Aba and Glc-NH2/Gal-NH2 showed a vertical
decrease between the shallow and deep traps at the same site. The site M1
traps in the hemipelagic zone recorded lower Asp/b-Ala ratios than the N2
traps in the same zone. In the warm pool zone, the M3 trap recorded a
slightly higher Asp/b-Ala ratio than the N10 trap, but the N3 traps in this
zone recorded the highest values. In the warm pool and equatorial upwelling
zones, the Glc-NH2/Gal-NH2 ratio was much larger in the M-series traps
than in the N-series traps, but in the hemipelagic zone, the difference
between the M1 and N2 traps was relatively small. The M-series traps
recorded slightly higher values for the AA/HA ratio than the N-series traps.

At site S11, samples from the end of December 1995 and the beginning of
January 1996 showed the highest Glc-NH2/Gal-NH2 ratios, which were
associated with relatively low AA/HA ratios. These ratios indicate that zoo-
planktonic debris and faecal pellets were a major vehicle for POM transport
to the deep ocean during the austral summer. At site S12, the Asp/b-Ala,
Glu/g-Aba and AA/HA ratios suggest that higher fluxes of AA and HA
brought microbially less-degraded POM to the trap depth. The indicator
ratios Asp/b-Ala and Glu/g-Aba in the deep trap suggest that the samples
with lower AA contents had microbially more-degraded POM compared with
those with higher AA content. The site S12 deep trap was located near the
Queensland Plateau, which might be a source of laterally advected material,
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especially under the influence of the EAC. Moreover, mid-depth circulation
may re-suspend sediments lying on the sea floor (Davis, 1998). Re-suspended
POM is generally depleted in labile components and therefore has a high
C/Natomic ratio. The samples collected during the second half of June 1995
showed a sharp increase in the C/Natomic ratio between the shallow (6.3) and
deep trap (8.6), while the AA and HA contents decreased from 92.5 and
5.2 mg g–1 to 32.7 and 3.5 mg g–1, respectively. Although these changes are to
some degree expected because of the ongoing degradation of settling POM,
their abruptness indicates mixing of resuspended POM with settling POM.
The samples collected by the deep trap towards the end of July and in

140 °E

140°E

160 °

160°

180° 

180°

40°

20° 

0°

40° S

20°

0°

Australia
4000

4000

4000

N2

M1 M3 N10 M5

S12

N3

S11

S13

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
La Niña

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
El Niño

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
La Niña

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
El Niño

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
La Niña

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
La Niña

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
La Niña

Shallow Deep

Sediment trap location

A
A

-C
(%

 o
f 

 O
C

)

Legends

  A
A

-C

  A
A

-N

A
A

-N
(%

 o
f 

T
N

)

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0

0.0

10.0

20.0

30.0

1 2
0.0

20.0

40.0

60.0
El Niño

Shallow Deep

0.0

10.0

20.0

30.0

0.0

20.0

40.0

60.0
La Niña

Shallow Deep

Figure 5: Regional variations in average values of amino acid carbon and
nitrogen with respect to total organic carbon and total nitrogen, respec-
tively, in particles settling in the western equatorial and south-eastern
Pacific Ocean.
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December 1995 had much higher indicator ratios compared with the shallow
trap samples corresponding to the same period. The higher values indicate a
possible contribution of relatively fresh POM laterally advected from more
productive surface waters.

Arrival of relatively fresh POM at trap depth is possible through the
formation of large, rapidly settling aggregates of phytoplankton, which have
been observed to exist under low zooplanktonic grazing pressure (Peinert
et al., 1989). Modelling and experimental studies by Sarnelle (1999) have
also shown that herbivorous zooplankton tend to reduce the vertical flux of
phytoplanktonic biomass in lakes and possibly in other aquatic systems. In
addition, rapid settling of particles during periods of high primary produc-
tivity in surface waters of the north-eastern subarctic Pacific Ocean (site
OSP) has been observed to reduce loss of organic components into the water
column (Wong et al., 1999). In contrast, the low C/Natomic ratio at site S13
during September 1995 was associated with high Glc-NH2/Gal-NH2 and low
AA/HA ratios, indicating considerable influence of zooplanktonic debris;
thus, POM became enriched in proteinaceous material, bringing the ratio
down to 5.9. The C/Natomic ratio at site S13 was, in general, slightly lower
than that at sites S11 and S12. The lower ratios (implying fresh POM) at site
S13 may be attributed to rapid settling or to a reduced rate of microbial
degradation of POM. In the mesopelagic environment, free-living bacteria
are the principal mediators of particle decomposition (Cho and Azam, 1988),
achieved by extracellular enzymatic hydrolysis exceeding the growth re-
quirements of the bacteria (Smith et al., 1992). The enzymatic degradation
is dependent on ambient temperature, which leads to enhanced export of
relatively unhydrolysed POM in low-temperature waters (Vetter and
Deming, 1994), e.g., at site S13. In addition, SST has been shown to influ-
ence primary productivity (Prasanna Kumar et al., 2001), which in turn
influences particle flux to the deep ocean (Pace et al., 1987). Mulhearn et al.
(1986) have reported the presence of eddies in the Tasman Sea whose
influence extends to abyssal depths. Such eddies can redistribute suspended
particles in the mid-ocean and consequently lead to higher particle fluxes,
such as those recorded by the site S13 trap.

4.3 Comparison with Other Trap Sites

Flux and composition data in this study show a wide range of temporal and
spatial variations; this spread is comparable to observations made in similar
experiments in the equatorial Pacific. Average TMF varied from a minimum
of 25.7 mg m–2 d–1 at site N10 to a maximum of 100.0 mg m–2 d–1 at site M5
(deep trap). The minimum flux at site N10 was the lowest reported for the
equatorial Pacific and reflected the oligotrophic character of this site. In con-
trast, the highest TMF values in the equatorial ocean (265–350 mg m–2 d–1)
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were recorded during 1979–1980 in the Panama Basin. In this study, the
average AA flux was the lowest (0.5 mg m–2 d–1) at the site N3 deep trap. The
trap depth difference of about 3,200 m at this site may account for the lower
AA flux at site N3, but site M3 traps did not show any significant decrease in
the AA flux (1.4–1.3 mg m–2 d–1) with increasing depth (1,020–2,060 m).
Ittekkot et al. (1984a) reported a relatively small decrease in AA flux
(3.6–3.4 mg m–2 d–1) with increasing depth in the Panama Basin, while at
site N3, the AA flux decreased by a factor of 3 between the shallow and deep
traps. Lee et al. (2000) observed a similar decrease in the AA flux in the
eastern equatorial Pacific. In the central Bay of Bengal (CBBT site), TMF
varied between 69.7 and 232.1 mg m–2 d–1 at 950 m (shallow trap) and
between 83.3 and 340.5 mg m–2 d–1 at 2286 m (deep trap) (Schäfer et al.,
1998). AA-N% accounted for 36.7–52.3% and 29.9–45.5% of TN in the shallow
and deep traps, respectively. Attributed to large sediment delivery by the
Ganges and Brahmaputra rivers, the TMF values at CBBT were much
higher than those recorded at sites S11 and S12. However, AA-N contents
were within a range comparable to values recorded at sites S11 and S12.
Haake et al. (1996) reported AA concentrations of 36.4 mg g–1 at 850 m
(shallow) and 22.5 mg g–1 at 2,900 m (deep) in the central Arabian Sea
(CAST site). AA-C accounted for 19.9% and 15.6% of OC at the shallow and
deep traps, respectively. These values from the CAST site are within the
range recorded at sites S11 and S12 in this study.

All the traps showed a general order of dominance of grouped AAs:
neutral4acidic4basic4aromatic AAs. On average, their relative molar
concentrations varied within a very short range at all the trap sites. How-
ever, shallow traps recorded a larger amplitude of variation than deep traps.
It seems that POM at the depths of shallow traps was more heterogeneous
in its chemical composition, but at the depths of deep traps, it was degraded
to the extent that the seasonal differences among the samples became diffi-
cult to distinguish in terms of their AA composition. At site S13, higher
particle fluxes resulted in a higher supply of labile carbon and nitrogen to
the benthic community, assuming that approximately half of the POM flux
at ca. 1,000 m depth reaches the sea floor (Jahnke, 1996). A similar trend of
high flux of relatively more labile POM settling in higher latitudes has been
noted in the central North Pacific (Gupta and Kawahata, 2003b).

4.4 ENSO and Zonal Variations in Observed Parameters

In the hemipelagic zone, an El Niño event brought a relatively higher TMF
and AA flux compared with those during La Niña (Table 2). These higher
fluxes resulted from enhanced PP due to westerly wind-induced shoaling of
the nutricline (Lindstrom et al., 1987; Radenac and Rodier, 1996). Despite
high fluxes, labile components of settling POM were low, as indicated by low
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values of OC-normalised AA and AA/HA ratios. A low non-protein AA
content and high Asp/b-Ala ratio could result from slow degradation rates of
quickly settling POM. Low Glc-NH2/Gal-NH2 ratios indicate depletion of
zooplanktonic debris in the settling POM. In contrast, the La Niña event
resulted in labile content-enriched POM but reduced TMF and AA flux. The
settling POM, however, underwent enhanced degradation, as indicated by
high non-protein AA contents and low Asp/b-Ala ratios. The lower fluxes
during La Niña probably resulted from lower primary productivity associa-
ted with deepening of the nutricline in the hemipelagic zone. Higher values
of OC-normalised AAs, AA-C%, AA-N% and AA/HA and Glc-NH2/Gal-NH2

ratios indicate that the settling POM was more labile during La Niña than
during El Niño.

The warm pool zone contrasted sharply with the hemipelagic zone in
terms of TMF and AA flux. El Niño events reduced the fluxes in the warm
pool zone. These lower fluxes were associated with lower labile content of
the settling POM, as indicated by low values of OC-normalised AA, AA-C%,
AA-N%, Glc-NH2/Gal-NH2 and AA/HA. Low b-Ala+g-Aba content indicated
reduced degradation of the settling POM during an El Niño event. Although
low, the eastern region of the warm pool recorded higher fluxes than the
central region. Total mass and AA fluxes were higher, as were the other
parameters, except Glu/g-Aba, during a La Niña event, but they were com-
parable to those recorded in the eastern region of the warm pool during an
El Niño event. In this case, the higher flux of AAs increased the labile
content of settling POM. Higher b-Ala+g-Aba and low Glu/g-Aba ratios
suggest enhanced degradation of settling POM during La Niña. Although
located in the warm pool, the considerable distance (ca. 1,600 km) between
the trap sites (M3, N10 and N3) could account for some variations in the
studied parameters. Furthermore, a closer look at the equatorial southern
oscillation index (SOI; Fig. 2) indicates that the 1994–1995 El Niño was
relatively weak (small negative deviation from the mean) and short in
duration. Across the warm pool zone, this weak El Niño might have caused
little change in the biogeochemical properties of settling POM.

In the equatorial upwelling region, higher PP led to higher fluxes of
total mass and AAs. The average values recorded in the shallow trap were
somewhat higher than those in the warm pool zone but comparable to those
in the hemipelagic zone during the 1999 La Niña. As was the case in the
hemipelagic zone, labile components of the settling POM appeared to be
degraded at a faster rate, also in the equatorial upwelling zone, during the
La Niña event. In the eastern equatorial Pacific (site C; 11N, 1391W),
Dymond and Collier (1988) also observed biogenic particle fluxes during
the 1984 La Niña 2–3 times those observed during the 1983 El Niño,
when the particle flux diminished owing to decreased PP in the surface
water.
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Table 2: Average values of fluxes and various biogeochemical parameters observed at various sites in this
study

Sediment-trap site N2, M1 N10, N3, M3 M5 S11 S12 S13

Parameters ENSO
phase

Regions in the equatorial Pacific Ocean Coral Sea Tasman Sea

Hemipelagic Warm pool Eq. Upwelling

Total mass flux (mg m–2 d–1) El Niño 95.9 (94.9) 25.7, 40.1 (36.2) – – – –
La Niña 58.6 (55.3) 37.1 (56.6) 53.7 (100.0) 25.8 11.0 (7.9) 25.5

Amino acid flux (mg m–2 d–1) El Niño 3.2 (2.5) 1.1, 1.7 (0.5) – – – –
La Niña 2.1 (1.1) 1.4 (1.3) 2.0 (2.4) 0.7 0.5 (0.2) 2.0

Amino acid (mg (100 mg OC)–1) El Niño 45.9 (36.0) 56.1, 43.5 (30.8) – – – –
La Niña 53.3 (40.4) 69.6 (43.6) 67.4 (51.0) 40.0 41.0 (31.8) 51.8

Amino acid carbon (% of OC) El Niño 19.9 (15.6) 24.4, 18.7 (13.2) – – – –
La Niña 23.2 (17.4) 30.4 (18.7) 29.3 (22.1) 17.5 17.9 (13.8) 22.4

Amino acid nitrogen (% of TN) El Niño 43.3 (37.8) 53.3, 29.2 (21.6) – – – –
La Niña 53.5 (42.8) 59.0 (43.7) 56.9 (49.2) 38.5 38.7 (31.4) 44.9

b-Ala+g-Aba (mole%) El Niño 0.6 (1.1) 0.7, 0.5 (1.1) – – – –
La Niña 0.8 (1.4) 0.7 (1.3) 0.7 (1.1) 0.7 0.8 (1.1) 0.7

Asp/b-Ala (mole ratio) El Niño 41.0 (29.0) 27.0, 45.6 (18.8) – – – –
La Niña 26.9 (14.9) 29.8 (15.6) 30.2 (18.9) 37.9 37.8 (22.1) 38.2

Glu/g-Aba (mole ratio) El Niño 28.0 (12.9) 45.2, 44.8 (24.2) – – – –
La Niña 28.2 (13.7) 42.0 (17.2) 39.7 (19.5) 40.2 34.7 (22.4) 54.8

Glc-NH2/Gal-NH2 (mole ratio) El Niño 5.9 (5.1) 6.5, 5.8 (4.2) – – – –
La Niña 7.8 (7.2) 11.3 (7.7) 15.0 (13.2) 5.4 3.7 (3.7) 10.1

AA/HA (mole ratio) El Niño 10.3 (10.3) 20.3, 14.6 (9.7) – – – –
La Niña 14.4 (16.0) 22.4 (15.1) 16.3 (13.5) 10.7 20.6 (12.8) 16.9

Note: AA, amino acid; OC, organic carbon; TN, total nitrogen; b-Ala, beta alanine; g-Aba, gama aminobutyric acid; Asp, aspartic acid;
Glu, glutamic acid; HA, hexosamine; Glc-NH2, glucosamine; Gal-NH2, galactosamine; Eq., equatorial; –, no data. Values in brackets
refer to deep trap data.
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4.5 Biogeochemical Indicators and the Plankton Community

Asp/b-Ala and Glu/g-Aba ratios showed irregular variations in all three
zones across the equatorial Pacific during El Niño and La Niña changes.
However, b-Ala+g-Aba content was uniformly higher in La Niña samples,
and was responsible for the lower Asp/b-Ala and Glu/g-Aba ratios. As has
been observed by Goddard and Graham (1997) and Stoens et al. (1999), the
1991–1995 El Niño occurred in discrete periods (i.e. a discontinuous event)
and was a weak warming event. It is possible that the Asp/b-Ala and Glu/g-Aba
ratios represent borderline values for El Niño and La Niña changes. A more
detailed examination of the data (Table 2) shows that average Glu/g-Aba
ratios were nearly unchanged during El Niño and La Niña phases. However,
average Asp/b-Ala values in both shallow and deep traps at M1 and N2 and
in shallow traps at M5 and N3 differed considerably between El Niño and
La Niña events. The AA-based parameters, including b-Ala+g-Aba content,
showed a certain uniformity in the labile nature of the samples collected at
all sites during La Niña, and this uniformity is in contrast to that observed
during El Niño events. Based on their study of radiolarians in the equatorial
Pacific during warm (El Niño) and cold (La Niña) phases of the 1992 ENSO,
Welling and Pisias (1998) suggested that environmental forcing can deter-
mine plankton community composition. By taking this finding into conside-
ration, the above-observed uniformity in AA parameters might be explained
by the presence of a planktonic community with a particular type of species
composition in surface waters during an El Niño event. This particular
community contributed to production of settling POM, whose AA-based
parameters differed from those based on settling POM produced by a differ-
ent plankton community that existed thereduring La Niña.

5 Conclusions

Photosynthetic activity of phytoplankton is a major factor determining
whether the equatorial Pacific Ocean acts as a source or sink of carbon
dioxide. The observations made in this study suggest that POM flux to the
deep ocean is also considerably influenced by ENSO variability. El Niño
conditions lead to a considerable increase in settling particle and AA fluxes
in the hemipelagic region of the western equatorial Pacific Ocean. Although
the fluxes are high, settling POM is fairly degraded, as suggested by AA-
based biogeochemical parameters. The warm pool region, on the other hand,
shows moderate to little change in particle flux and associated parameters,
probably because primary productivity is quite low in this part of the Pacific
(oligotrophic region). However, settling POM is less degraded than that in
the hemipelagic and equatorial upwelling regions. The sediment-trap data
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from the south-west Pacific, on the other hand, show that TMF and AA and
HA fluxes are higher in the Tasman Sea than in the Coral Sea, apparently
because of low SST and high PP in the Tasman Sea. In contrast to the usual
decrease in particle flux with depth, some deep traps occasionally showed
higher TMF and AA flux; however, POM in deep traps was more degraded
than that in the corresponding shallow traps. The C/Natomic ratio coupled
with AA- and HA-based indicator ratios clearly indicate a contribution of re-
suspended as well as of laterally advected POM to the deep traps.
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Chapter 7

Monsoonal Impacts on the
Biological Pump in the Northern
Indian Ocean as Discerned from
Sediment Trap Experiments

Tim Rixen� and Venupopalan Ittekkot

Centre for Tropical Marine Ecology, Fahrenheitstr. 6, D-28359, Bremen, Germany

Abstract

Sediment trap data obtained from the western Arabian Sea have been used to characterize

monsoon-induced environmental conditions driving the export of material from the surface

ocean into the deep sea. The ratio between particulate organic carbon (POC) and particulate

inorganic carbon (PIC) of exported material was taken as an indicator of the impact of the

biological pump on the oceanic uptake of atmospheric CO2. The results indicate that the

biological pump is most effective in nitrogen-limited systems in which the availability of

dissolved silica allows diatoms to play an important but not necessarily a dominant role

within the plankton community. Accordingly, the biological pump can even be more efficient

in oligotrophic systems than in eutrophic upwelling areas. A comparison with results ob-

tained from other sediment trap experiments in the northern Indian Ocean reveals the

highest annual mean POC/PIC ratios in the northern Bay of Bengal. The high POC/PIC

ratios have been attributed to the impact of river discharges on the plankton community

structure. The climate anomaly El Niño Southern Oscillation (ENSO) seems to influence the

efficiency of the biological pump in the northern Bay of Bengal via its impact on the pre-

cipitation rates and consequently on the river discharge.
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1 Introduction

Marine organisms influence the exchange of CO2 between the ocean and the
atmosphere via photosynthesis and precipitation of carbonates. These proc-
esses affect the fugacity of CO2 (fCO2) in the surface water by changing the
concentration of total dissolved inorganic carbon (DIC) and the total alka-
linity (TA) (Zeebe and Wolf-Gladrow, 2001). A decrease in surface water
fCO2 favouring the CO2 uptake from the atmosphere is caused by a reduced
DIC concentration and an enhanced TA. During the precipitation of car-
bonate, DIC and TA are consumed resulting in a net increase of fCO2 in
surface water. Accordingly, the precipitation of carbonates is referred to as
the ‘carbonate counter pump’ (Heinze et al., 1991). In contrast, the photo-
synthetic production of organic matter lowers the fCO2 by the direct con-
sumption of DIC and nutrients and their subsequent export into the deep
sea. The net effect of the so-called organic carbon pump and the carbonate
counter pump on the fCO2 comprises the biological pump (Volk and Hoffert,
1985). Owing to counteracting effects of the two pumps on the fCO2, the
ratio between particulate organic carbon and particulate inorganic carbon in
the material exported into the deep sea is suggested as an indicator for the
CO2 uptake efficiency of the biological pump (Berger and Keir, 1984). Model
studies have shown that an increase of the global mean POC/PIC (rain) ratio
by a factor of 2 and �3 can reduce the atmospheric CO2 concentration by
28.5 and 70 ppm, respectively (Heinze et al., 1991; Archer et al., 2000). The
70-ppm decrease was achieved by assuming that the export production is
driven by siliceous diatoms growing at the expense of carbonate-producing
coccolithophorids. Since diatoms depend on the availability of silica, changes
of their relevance in the plankton community are believed to result from
reorganisation of the marine silica cycle or enhanced silica inputs from
terrestrial sources (Froelich et al., 1992; Harrison, 2000; Conley, 2002;
Matsumoto and Sarmiento, 2002).

In the framework of a joint Indo/German project and the Joint Global
Ocean Flux Studies (JGOFS), PIC and POC exported from the surface ocean
have been collected continuously by deep-moored sediment traps deployed
at several sites in the northern Indian Ocean (Nair et al., 1989; Haake et al.,
1993; Rixen et al., 1996; Lee et al., 1998; Honjo et al., 1999; Rixen et al.,
2002; Unger et al., 2003; Fig. 1). The western Arabian Sea (WAST) was one
of the main JGOFS study sites where in addition to sediment trap studies
comprehensive field experiments were performed in 1994 and 1995. This
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work combines results obtained by the Indo/German sediment trap exper-
iment program and JGOFS and aims at improving our understanding of
processes controlling the POC/PIC ratios in settling particles.

2 Study Area

The Arabian Sea and the Bay of Bengal are strongly influenced by the Asian
monsoon. The monsoon is driven by sea-level pressure difference between the
Asian landmass and the Indian Ocean (Ramage, 1971, 1987). During the
boreal winter, the sea-level pressure over Asia exceeds that over the Indian
Ocean due to a stronger cooling of the landmass. Following the pressure
gradient and being deflected by the Coriolis force, the wind blows from the NE
over the Arabian Sea and the Bay of Bengal between December and February
(NE monsoon; Currie et al., 1973). During summer (June–September), the
heating of the Asian landmass leads to the formation of a strong atmospheric

Figure 1: Map of the northern Indian Ocean showing the mean annual
salinity averaged for the upper 50 m of the water column (Data: World
Ocean Atlas, 1998, http://www.cdc.noaa.gov/cdc/data.woa98.html). Black
circles show the long-term sediment trap site in the western Arabian Sea
(WAST). White circles and black squares indicate the other joint Indo/
German and the US JGOFS sediment trap sites, respectively. US JGOFS
water sampling sites are shown by the red circles (For colour version, see
Colour Plate Section).
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low that attracts the SE trade winds which blow as SW winds (SW monsoon)
over the Arabian Sea after crossing the equator due to the associated change
of the Coriolis force. During their passage over the central Indian Ocean and
the Arabian Sea, the SW monsoon winds gather water vapour sustaining the
heavy rainfall over the Indian subcontinent (Ramesh Kumar and Prasad,
1997; Ramesh Kumar and Schlüssel, 1998). The monsoon rain feeds one of the
world’s largest river systems (Ganges–Brahamaputra) that originates in the
Himalayas and discharges into the Bay of Bengal (Milliman and Meade, 1983;
Milliman et al., 1984; Subramanian et al., 1985; Ludwig and Probst, 1996).

In the Arabian Sea, the SW winds forming a low-level jet (Findlater jet)
enforce upwelling of cold and nutrient-enriched subsurface water that leads
to high primary productivity and consequently high export rates of organic
matter from the euphotic zone into the deep ocean (Findlater, 1977; Nair
et al., 1989; Antoine et al., 1996; Rixen et al., 2005). The inter-annual var-
iability of upwelling-driven organic carbon fluxes corresponds to changes in
the strength of the Findlater jet, whereas a stronger Findlater jet results in
stronger upwelling and higher organic carbon fluxes into the deep sea
(Rixen et al., 2000b). In the absence of upwelling, the marine productivity
and the associated particle export from the surface ocean is linked to the
interplay between the light penetration depth (euphotic zone) and vertical
mixing regulating the availability of nutrients (Prahl et al., 2000; Rixen et
al., 2002). Nutrient inputs via vertical mixing are considered to be the prime
factor driving the organic carbon flux in the Bay of Bengal except during the
late spring inter-monsoon and the late SW monsoon when upwelling along
the Indian coast and riverine nutrient inputs increase the organic carbon
fluxes into the deep Bay of Bengal (Ittekkot et al., 1991; Schäfer et al., 1996;
Unger et al., 2003).

3 Methods

3.1 Sediment Trap

Since 1986, mark 6 and mark 7 sediment traps (Honjo and Doherty, 1988)
have been deployed at water depths of approximately 3,000 m in the WAST
(151310N 681430E; Fig. 1; Table 1). Sampling intervals were set between 12
and 26 days. Prior to the deployment, the sampling cups were filled with sea
water collected at the mooring depth and enriched with sodium chloride
(35 g l�1) and mercury (II) chloride (3.3 g l�1) to prevent degradation of
trapped material (Lee et al., 1992). After recovery, the samples were sieved
into greater and smaller than 1-mm fractions in order to separte large
swimmers. The wet sample material was filtered on pre-weighed nuclepore
filter (0.4mm) and dried at 401C. The dry weights of the smaller than 1 mm
fraction were used for calculating the total fluxes and the material itself was
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Table 1: Sampling period (SP), position, trap depth, water depth, deployment periods and mean sampling
intervals

SP Latitude Longitude Trap depth Water depth Deployment Interval
(1N) (1E) (m) (m)

Start End
(Days)

01 161230 601320 3,024 4,020 May 10, 1986 Oct. 26, 1986 13.0
02 161180 601280 3,021 4,018 Nov. 19, 1986 May 1, 1987 12.6
03 161190 601280 3,033 4,010 May 12, 1987 Oct. 21, 1987 12.5
04 161350 601280 3,039 4,016 Nov. 22, 1987 Oct. 31, 1988 26.5
05 161240 601290 3,029 4,016 Nov. 20, 1988 Sept. 28, 1989 24.0
06 161190 601310 3,016 4,013 Jan. 15, 1990 Oct. 15, 1990 21.0
07 161200 601320 3,039 4,027 Dec. 19, 1990 Oct. 26, 1991 24.0
08 161190 601300 3,030 4,018 Jan. 16, 1992 Dec. 16, 1992 26.0
09 161200 601190 2,002 4,018 Dec. 25, 1992 Oct. 11, 1993 23.0
10 161200 601180 3,041 4,025 Oct. 18, 1993 Oct. 05, 1994 27.0
11 161130 601260 3,246 4,230 Jan. 15, 1995 Oct. 03, 1995 12.0
13 161130 601190 3,007 4,041 Apr. 04, 1997 Feb. 02, 1998 12.0
14 151500 611290 2,991 4,020 May 27, 1998 Aug. 26, 1998 26.0
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crushed prior to chemical analysis. Samples severely disturbed, e.g. by mal-
functioning of the traps or the activity of swimmers, were ignored.

3.2 Chemical Analysis

Total carbon and nitrogen were determined with a Carlo Erba Nitrogen
Analyzer 1500 that measures CO2 and N2 in a constant helium flow with a
thermal conductivity detector after a catalytic high-temperature combustion
of the sample. The reproducibility of the determined total carbon and
nitrogen concentration is 70.05% and 70.02%, respectively. Carbonate car-
bon concentration was derived from the conductivity change of a sodium hy-
droxide solution while injecting CO2 released from the acid-treated sample.
This method was performed with a Wösthoff Carmograph 6 and standard
deviation of replicate measurements was 71%. The organic carbon concen-
tration was calculated as the difference between total carbon and carbonate
carbon concentration. Biogenic opal concentration was determined photomet-
rically after extraction of silicon with a sodium carbonate solution (Mortlock
and Froelich, 1989). A more detailed description of these methods is given by
Haake et al. (1993). Nitrogen isotopic composition expressed as d15N was
determined by a gas isotope mass spectrometer (Finnigan MAT 251) equipped
with a trapping box and a Carlo Erba Nitrogen Analyzer 1500. The standard
deviation of this method was 70.2% (Schäfer and Ittekkot, 1995).

4 Results and Discussion

The first set of sediment trap data obtained from the Arabian Sea, covering
the years 1986 and 1987, showed a strong monsoon-driven seasonality with
enhanced fluxes during the NE and SW monsoon (Nair et al., 1989). The 10
years’ records on deep ocean fluxes generated subsequently have further
confirmed the strong monsoon-driven seasonality (Fig. 2a). In order to pro-
duce an average record covering the annual cycle, the time-series data have
been converted into bi-weekly means (Fig. 2b). It may be noted that the d15N
data are available only for the period between 1986 and 1992. The extended
time series reveals that fluxes during the peak of the NE monsoon (January/
February) can be as low as during the spring inter-monsoon in May (Fig. 2).
In January/February, the mixed layer reaches its maximum depth and ex-
ceeds the depth of the euphotic zone (Dickey et al., 1998). Accordingly, deep
mixing of photoautotrophic organisms initiating light-limiting conditions
have been suggested as possible reason for the low organic carbon fluxes
during the peak of the NE monsoon (Prahl et al., 2000; Rixen et al., 2002).
The relatively high organic carbon fluxes during the early NE monsoon
(November/December) correspond with the initial mixed-layer deepening.
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A second peak of organic carbon fluxes occurs in March/April (late NE
monsoon) when the mixed layer shoals and approaches the depth of the
euphotic zone (Rixen et al., 2002). Such an interplay between the depth of
the mixed layer and the euphotic zone is known from parts of the north
Atlantic where the shoaling of the deep winter mixed layer is associated with
the development of the spring bloom and the deepening of the shallow sum-
mer mixed layer leading to the autumn bloom (Lalli and Parsons, 1993). In
the western Arabian Sea, the organic carbon fluxes are higher during spring
(late NE monsoon) than during the autumn (early NE monsoon; Fig. 2).
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Figure 2: (a) Particulate organic carbon (POC) fluxes measured at 3,000-m
water depth in the western Arabian Sea from 1986 to 1998. (b) Same POC
fluxes plotted vs. the period of the year during which the sampling took
place (black circle). The line indicates the mean bi-weekly POC fluxes dur-
ing the year.
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5 Factors Terminating Peak Fluxes during the
Late NE and SW Monsoon

Within the framework of JGOFS, profiles of total inorganic nitrogen con-
centration (TN ¼ NO3+NO2+NH4) were measured along a transect from the
Oman coast via the trap site WAST into the open southern Arabian Sea
(Fig. 1). The TN concentrations averaged for the upper 20 m of the water
column along the whole transect are enhanced during the upwelling season
(3.6–6.6mmol l�1) and approach zero during the late NE monsoon
(0.12 mmol l�1, Fig. 3a). The mean d15N values of the sinking matter de-
crease during the upwelling season and increase during the late NE mon-
soon. Since photoautotrophic organisms prefer the uptake of the lighter 14N
in comparison to heavier 15N, increasing d15N values could reflect nitrogen-
limiting condition during plankton growth (Altabet and Francois, 1994).
Consequently, increasing d15N values in addition to low-TN concentrations
suggest a progressive consumption of TN leading to nitrogen-limiting con-
ditions at the end of late NE monsoon. During the following oligotrophic
spring inter-monsoon inputs of nitrogen via nitrogen fixation could termi-
nate nitrogen-limiting conditions, but so far it has only been observed in the
central and eastern Arabian Sea (Devassy et al., 1978; Capone et al., 1997).
However, the decreasing d15N values in May/June seem to indicate inputs of
recently fixed and thus isotopically light nitrogen that could in part sustain
the biological production and the organic carbon export in the WAST
(Fig. 3a). During the SW monsoon, decreasing d15N values in addition to
high TN concentrations imply non-nitrogen limiting conditions, which in
turn suggest other factors to be responsible for the decline of the upwelling-
driven bloom in the western Arabian Sea.

During the SW and the late NE monsoon, low carbonate/biogenic opal
ratios within the exported matter indicate an enhanced share of diatoms in
the exported matter (Fig. 3b). Plankton counts during the SW monsoon 1995
and surface ocean nutrient concentrations along the Oman transect show a
decline of the contribution of diatoms to the photoautotrophic organisms
when the silicate concentration approaches 2mmol l�1 (Rixen et al., 2005). A
silicate concentration of 2mmol l�1 was identified in other studies (Egge and
Aksnes, 1992) as the threshold below which diatoms lose their ecological
advantage over other plankton. The effect of nutrient concentration (N) on
plankton growth rate (m) is generally described by a Michaelis–Menton type
of kinetics: m ¼ (mmax�N)/(KN+N), whereas mmax is the maximum growth
rate of plankton and ‘KN’ is the half-saturation constant for nutrient uptake
(Lalli and Parsons, 1993). This implies that plankton growth rates decrease
(mommax) when the nutrient concentration drops below a certain threshold.
The plankton bloom may be terminated when the plankton growth rates fall
below the zooplankton grazing rates.
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In order to study such a system, we developed a small numerical model
in which a constant mixed-layer volume is assumed. Diatom growth and
zooplankton grazing is calculated as m (mmol h�1) ¼ (15�N)/(1500+N), and
grazing ¼ (20�Nd)/(200+Nd), respectively, where ‘N’ is the silicate concen-
tration in ‘mmol l�1’and ‘Nd’ the diatom biomass in ‘mmol Si l�1’. After di-
gestion of soft tissue by zooplankton, biogenic opal (silica) shells are
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Figure 3: (a) Mean bi-weekly averaged organic carbon fluxes (bold line, see
Fig. 2) and d15N values (broken line) at the station WAST. Mean total inor-
ganic nitrogen (TN) concentrations in the surface water (water depth o20m)
averaged along the Oman transect (see Fig. 1) for the six US JGOFS cruises
ttn 43, 45, 49, 50, 53 and 54 (black horizontal lines; data are obtained from the
US JGOFS database). (b) Bi-weekly averaged organic carbon to calcium car-
bonate carbon (POC/PIC) ratios (bold line) and carbonate to biogenic opal
ratios (broken lines). Horizontal lines representing the mean (solid line) and
the range (broken line) of POC/PIC ratios obtained from other sediment trap
studies in the carbonate-dominated ocean (Klaas and Archer, 2002). The
shaded area reveals the periods during which the mixed layer is deepest
(MMLD; Dickey et al., 1998) and upwelling occurs along the Oman coast.
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assumed to be exported into the deep sea as faecal pellets. Owing to vertical
mixing, the silica entrainment is set to 1.5 mmol l�1 and upwelling raises the
silica concentration to values of 14mmol l�1 at the coast. The velocity with
which the upwelled water advects offshore was set to 0.6 m s�1 (Rixen et al.,
2000a). The model results agree quite well with observations (Fig. 4a, b) and
imply that a diminishing diatom bloom can be caused by diatom growth
rates falling below zooplankton growth rates when the silica concentration
drops below approximately 6 mmol l�1 (Fig. 4c). At silica concentration of
1–2mmol l�1, characteristic for the oligotrophic inter-monsoon season in the
WAST (Rixen et al., 2005), the system reaches a steady state in which silica
input via vertical mixing is balanced by biogenic opal export and the diatom
growth rate equals the zooplankton grazing rate.

5.1 Seasonal Changes of POC/PIC Ratios

The particulate organic carbon/particulate inorganic carbon (POC/PIC) ratios
determined in the sinking matter reveal a generally inverse relationship with
carbonate/biogenic opal ratios (Fig. 3), which is in line with the assumption
that diatoms out-compete carbonate-producing coccolithophorids (Harrison,
2000; Matsumoto and Sarmiento, 2002). Nevertheless, the POC/PIC ratios are
higher by a factor of 1.7 during the late NE than during the SW monsoon
although low carbonate/biogenic opal ratios indicate an enhanced contribu-
tion of diatoms to the exported matter during both seasons (Fig. 3b, Table 2).
Accordingly, the exceptional high POC/PIC ratios during the late NE monsoon
seem to be caused by an enhanced contribution of diatoms and additionally of
organisms carrying no mineral skeleton. An enhanced share of such soft-
tissued organisms to the exported matter explains also the POC/PIC and the
carbonate/biogenic opal ratios, which are higher during the oligotrophic inter-
monsoon in May and June than during the high-flux period of the SW mon-
soon. The elevated POC/PIC ratios during the late NE and spring inter-mon-
soon suggest that the biological pump is even more effective in sequestering
atmospheric CO2 in nitrogen-limited open ocean than in eutrophic systems.

5.2 Comparisons with Other Results from The Northern
Indian Ocean

Since it is generally assumed that there are problems with the trapping
efficiency at water depths of approximately o1,200 m (Scholten et al., 2005;
Yu et al., 2001), sediment trap results obtained from shallower water depths
were excluded from the following discussion. A comparison of sediment trap
results obtained from the northern Indian Ocean shows the highest annual
mean POC/PIC ratio in the northern Bay of Bengal (1.75; Fig. 5). Within the
Bay of Bengal, the POC/PIC ratios decrease from north to south whereas an
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Figure 4: (a) Concentrations of silicate averaged for the upper 20 m of the
water column along the transect from the Arabian coast towards the central
and southern Arabian Sea, 1,300 km offshore during the SW monsoon of
1995 (compare Fig. 1). Nutrient data have been obtained from the US
JGOFS datacentre. The blue line shows the contribution of diatoms to the
biomass of photoautotrophic plankton during the same time (Garrison et al.,
2000). (b) Diatom biomass (blue line) and silicate concentration derived from
a box model that is described in the text. (c) Diatom growth rates (red line)
and zooplankton grazing rates (blue line) vs. silicate concentration (data are
derived from the model) (For colour version, see Colour Plate Section).
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Table 2: Mean late NE and SW monsoon fluxes in the western Arabian Sea
averaged for March (NE monsoon) and between July and September (SW
monsoon)

Parameter Late NE monsoon SW monsoon

POC 9.15 14.41
PIC 6.38 17.38
Carbonate 53.16 144.80
Biogenic opal 28.48 74.79
Carbonate/biogenic opal 1.87 1.94
POC/PIC 1.43 0.83

Note: Units are ‘mg m–2 day�1’ except for the ratios that are dimensionless. PIC flux ¼
Carbonate flux� 0.12.
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Figure 5: Annual mean POC/PIC ratios vs. water depth. Black circles show
results obtained from the US JGOFS sediment trap experiment performed in
1994/1995 (Honjo et al., 1999; Lee et al., 2000), grey circles reveal data derived
from the Indo/German sediment trap program in the Arabian Sea (Fig. 1) and
those obtained from the Bay of Bengal (Unger et al., 2003) are given in red.
Vertical lines representing the mean (solid line) and the range (broken line) of
POC/PIC ratios obtained from other sediment trap studies in the carbonate-
dominated ocean (Klaas and Archer, 2002) (For colour version, see Colour Plate
Section).
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increasing salinity in the same direction shows diminishing influence of
freshwater in the Bay of Bengal (Fig. 1). Accordingly, it was suggested that
river discharges, which are the main marine silica sources (Tréguer et al.,
1995), enhance the efficiency of the biological pump by supplying silica from
terrestrial sources (Ittekkot et al., 1991).

During the sediment trap experiment in the northern Bay of Bengal, the
sampling site was shifted by approximately 21 to the south between 1990
and 1992 because of logistical reasons (Unger et al., 2003). Results from
these trap sites were used to fill gaps within the record from the northern
site leading to a time series that covers approximately 7 years. The POC/PIC
ratios derived from the combined time series shows an inter-annual vari-
ation of 716% exceeding those in the WAST (approximately 710%). In the
northern Bay of Bengal, the highest annual mean POC/PIC ratio was de-
termined in year 1988 (2.15) and the lowest in year 1997 (1.52). The south-
ern oscillation index (SOI: http://www.cpc.ncep.noaa.gov) shows strong La
Niña and El Niño conditions during the SW monsoon between (June–
September) 1988 and 1997, respectively (Fig. 6). El Niño southern oscilla-
tion (ENSO) could, for example, affect the POC/PIC ratios in the northern
Bay of Bengal via its influence on precipitation rates in the catchment area
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Figure 6: Annual mean POC/PIC ratios obtained from the northern Bay of
Bengal at 2,000 m water depth vs. southern oscillation index averaged for
the SW monsoon periods of the same year. Sediment trap data are available
for years 1988, 1989, 1990, 1991, 1992, 1994 and 1997 (Unger et al., 2003).
The open circles indicate the years 1989 and 1994. The solid line represents
the regression equation (POC/PIC ¼ 0.15�SOI+1.91) that excludes the
years 1989 and 1994.
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of the Ganges–Brahmaputra (Ropelewski and Halpert, 1987) and conse-
quently on the river discharges. Nevertheless, there are 2 years (1989 and
1994) that do not fit into the correlation between the POC/PIC ratios and the
SOI (Fig. 6). These exceptions point to other factors of relevance masking
the link between ENSO and the efficiency of the biological pump during
some years in the Bay of Bengal.

6 Conclusion

The peak organic carbon fluxes in the WAST are driven by upwelling during
the SW monsoon and by shoaling of the deep winter mixed layer during the
late NE monsoon in March. Although carbonate biogenic opal ratios indicate
an enhanced contribution of diatoms to the exported matter during both
periods, diatoms seem to dominate the SW monsoon bloom that probably is
terminated by the lack of silica. Despite an enhanced share of diatoms to the
exported matter, the late NE monsoon bloom appears to be dominated by
soft-tissued organisms initiating nitrogen-limiting conditions. The biological
pump seems to be more efficient in sequestering CO2 in nitrogen-limiting
open ocean systems than in eutrophic diatom-dominated upwelling systems
as indicated by POC/PIC ratios. The highest POC/PIC ratios have been
measured in the Bay of Bengal where riverine silica discharges favour
diatom blooms. ENSO-influenced riverine silica inputs lead to a more effi-
cient biological pump during stronger La Niña years and vice versa to a
weaker biological pump during stronger El Niño years.
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Chapter 8

Variability of the Indonesian
Throughflow: A Review and
Model-to-Data Comparison
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1CSIRO Marine and Atmospheric Research, Hobart, TAS 7001, Australia
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Abstract

Existing observations of ocean temperature, sea level and transport within the Indonesian

seas and south-east Indian Ocean are reviewed and compared with a simulation. The dy-

namical mechanisms by which the Indonesian Throughflow (ITF) interacts with the sur-

rounding oceans in the model and real oceans are discussed. The focus is on the variability on

timescales ranging from the intraseasonal (o3 months) to the interannual (a few years). A

lagged multiple regression technique is applied to anomalies of sea level from a mean sea-

sonal cycle for observed and modeled fields. The results reveal that the region comprises the

intersection of two ocean wave guides where sea level and upper ocean temperature anom-

alies can be largely understood in terms of Kelvin and Rossby waves generated by remote

zonal winds along the Indian and Pacific equators, with local wind forcing appearing to play a

minor role in generating interannual variability. Variations in zonal Pacific equatorial winds

force a response along the Arafura/Australian shelf break through Pacific equatorial Rossby

waves exciting coastally trapped waves off the western tip of Irian Jaya, which propagate

westward into the Banda Sea and poleward along the Australian west coast. Equatorial

Kelvin waves excited by Indian Ocean winds propagate eastward and scatter into coastal

waves along the Sumatra–Java–Lesser Sunda coasts to penetrate the western internal seas

of Indonesia. While the model captures the variability generated by the equatorial Indian

Ocean winds, its pathway eastward into the Indonesian region is prevented by a dynamically
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‘‘wide’’ Lombok Strait, which carries too much of the main throughflow and allows too little

wave energy to pass directly into the Banda Sea. The model response to El Nino-southern

oscillation (ENSO) wind changes is too weak as expressed by its sea-level response in the

western Pacific. The subsequent transmission of this ENSO signal into the ITF region and

along the west coast of Australia is also much weaker in the model than observed. Generally,

the model/data comparisons suggest that too little energy gets scattered into the model

coastal wave guide. An assessment of whether this difference is a model resolution or model

dissipation issue (and they are related) needs further work.

Keywords: Indonesian throughflow; model-to-data comparison; climate variability

1 Introduction

The Indonesian Throughflow (ITF) is an integral part of the global thermoh-
aline circulation and climate system (see Gordon, 2001; Sprintall et al., 2001
for recent overviews), providing a low-latitude pathway for the transfer of
warm, low-salinity Pacific waters into the Indian Ocean. The heat and fresh-
water carried by the ITF impacts the basin budgets of both the Pacific and the
Indian Oceans (Bryden and Imawaki, 2001; Wajsowicz and Schneider, 2001;
Wijffels et al., 2001). Within the internal Indonesian seas, observations and
models indicate that the primary ITF source is north Pacific thermocline
water flowing through Makassar Strait (sill depth 650 m) (Fig. 1). Additional
ITF contributions of lower thermocline water and deep water masses of direct
south Pacific origin are derived through the eastern routes, via the Maluku
and Halmahera Seas, with dense water overflow at the Lifamatola Passage
(sill depth 1,940 m). The ITF exits into the eastern Indian Ocean through the
major passages along the Lesser Sunda Island chain: Ombai Strait (sill depth
3,250 m), Lombok Strait (300 m), and Timor Passage (1,890 m). The complex
geography of the region, with multiple narrow constrictions connecting a
series of large, deep basins, leads to a circuitous ITF pathway within the
Indonesian seas. En route, the Pacific inflow waters are modified due to
mixing, upwelling, and air�sea fluxes before export to the Indian Ocean.

In recent years, a number of monitoring programs have measured as-
pects of the ITF from its Pacific source, through the internal seas, to the exit
passages. The programs range from individual year-long mooring deploym-
ents in Makassar, Timor, and Ombai Straits, a 3-year shallow pressure gauge
array (SPGA) in the exit passages, to decade long expendable bathythermo-
graph (XBT) transects within the Indonesian region and five full-depth
hydrographic CTD/ADCP sections between Australia and Indonesia.

In Section 2, we detail the progress toward understanding the mean
and time-dependent throughflow dynamics made to date from these recent
observations, and discuss some of the still outstanding issues toward a
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Figure 1: Schematic of Indonesian throughflow pathways (Gordon, 2001;
reprinted with permission from Elsevier). The solid arrows represent north
Pacific thermocline water; the dashed arrows are south Pacific lower therm-
ocline water. Transports in Sv (106 m3/s) are given in red. The 10.5 Sv in
italics is the sum of the flows through the Lesser Sunda passages. ME is the
Mindanao Eddy; HE is the Halmahera Eddy. Superscript refers to reference
source: 1, Makassar Strait transport in 1997 (Gordon et al., 1999); 2,
Lombok Strait (Murray and Arief, 1988; Murray et al., 1990) from January
1985 to January 1986; 3, Timor Passage (between Timor and Australia)
measured from March 1992 to April 1993 (Molcard et al., 1996); 4, Timor
Passage, between October 1987 and March 1988 (Cresswell et al., 1993); 5,
Ombai Strait (north of Timor, between Timor and Alor Island) from
December 1995 to December 1996 (Molcard et al., 2001); 6, between Java
and Australia from 1983 to 1989 XBT data (Meyers et al., 1995; Meyers,
1996); 7, Upper 470 m of the South Equatorial Current in the eastern Indian
Ocean in October 1987 (Quadfasel et al., 1996); 8, Average ITF within the
South Equatorial Current defined by five WOCE WHP sections (Gordon
et al., 1997). The hollow arrow represents overflow of dense Pacific water
across the Lifamatola Passage into the deep Banda Sea, which may amount
to about 1 Sv (van Aken et al., 1988). Inserts A–D show the positions of the
INSTANT moorings. Insert A: position of the two Makassar Strait inflow
moorings (US, red diamond) within Labani Channel. Insert C: position of
the Netherland’s mooring within the main channel of Lifamatola Passage
(yellow triangle). Insert B, D: position of the Sunda moorings in Ombai
Strait, Lombok strait, and Timor Passage (US, red diamonds; French, purple
square; Australian, green circles). The positions of the shallow pressure
gauge array (SPGA) (US, green X). The 100, 500, and 1,000 m isobaths are
shown in the inserts (For colour version, see Colour Plate Section).
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comprehensive understanding of the dynamics of the ITF and its associated
property fluxes. Historic data from moorings, pressure gauges and other
stationary measurement systems suggest that large-scale and remotely
forced wave interactions play an important role in the dynamics of the ITF.
After a brief description in Section 3 of the model and data used here, the
large-scale wave dynamics is explored in more detail in Section 4. We com-
pare observed and simulated temperature responses to remote and local
wind forcing within the Indonesian region. Section 5 contains a discussion
and the conclusions.

2 Velocity and Property Structure of the
Throughflow

2.1 Observed Transports through Major Straits of the
Indonesian Throughflow

Large-scale observation-based studies (including inverse solutions) reveal
significant Pacific export of mass, heat, and freshwater into the Indian Ocean
(Piola and Gordon, 1984, 1986; Toole and Raymer, 1985; Wijffels et al., 1992;
Toole and Warren, 1993; MacDonald and Wunsch, 1996; Ganachaud et al.,
2000; Ganachaud and Wunsch, 2000). The uncertainty in the size of such a
warm, fresh throughflow is the dominant source of error in analyses of the
basin-wide budgets of heat and freshwater for the Pacific (Wijffels et al.,
2001) and Indian Oceans (Robbins and Toole, 1997). Model research reveals
dependence of Pacific and Indian Ocean sea-surface temperature (SST) and
upper layer heat storage on the throughflow (Hirst and Godfrey, 1993;
Verschell et al., 1995; Murtugudde et al., 1998). The Indian and Pacific
Oceans would be very different if the ITF were zero (Hirst and Godfrey, 1993,
1994;Maes, 1998; Schneider, 1998; Wajsowicz and Schneider, 2001). Oceanic
heat and freshwater fluxes into the Indian Ocean � at the expense of the
Pacific � affect atmosphere�ocean coupling with potential impacts on the El
Nino-Southern Oscillation (ENSO) and monsoon phenomena (Webster et al.
1998). Saji et al. (1999) found that the cool SST anomalies that lead to a
dipole mode of variability in the tropical Indian Ocean first appeared in the
vicinity of Lombok Strait in Indonesia. The cold SST anomaly shifts west-
ward as a Rossby wave from the Java and Sumatra Indian Ocean coasts and
varies in strength with the phase of ENSO (Susanto et al., 2001).

The ITF source water (North Pacific vs. South Pacific) depends upon land
geometry and the tropical Pacific wind fields (Godfrey, 1989; Nof, 1996;
Morey et al., 1999; Wajsowicz, 1999; Cane and Molnar, 2001). Observations
show that the ITF is composed mostly of North Pacific water flowing through
Makassar Strait (Fig. 2; Fine, 1985; Ffield and Gordon, 1992; Gordon, 1995;
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Gordon and Fine, 1996), which is consistent with theory (Wajsowicz, 1996).
The 1997 average southward transport in Makassar Strait is 9.372.5 Sv,
with the highest southward flow occurring at mid to lower thermocline
depths (Gordon and Susanto, 1999; Gordon et al., 1999). Warming between
the inflow at Makassar and the export into the Indian Ocean is likely a
consequence of the impact of mixing and air�sea fluxes within the internal
Indonesian seas. While some of the Makassar throughflow exits the Indo-
nesian sea within Lombok Channel (Murray and Arief, 1988), most turns
eastward within the Flores Sea to enter the Banda Sea before entering the
Indian Ocean via the deeper Ombai Strait and Timor Passage (Meyers et al.,
1995; Gordon and Fine, 1996).

The flow in Lombok Strait is well documented, largely due to the
Lombok Strait experiment in 1985 (Murray and Arief, 1988; Murray et al.,
1990). Flow through the 35-km wide Lombok Strait is restricted by a sill
depth of about 300 m at the southern end. From February through May,
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Figure 2: (a) Time series (above) of the average temperature (red) between
150 and 400 db at the MAK-1 mooring (Ffield et al., 2000). The SOI (green)
and the Makassar Strait volume transport (blue dashed) are also shown.
The data are smoothed by 30-day running averages. (b) Temperature time
section constructed from 15 years of Makassar Strait and Flores Sea XBT
profiles (Ffield, 2000, personal communication). In the upper panel, the
depth of the 221C XBT isotherm (red) is shown with the SOI (black) high-
lighting the clear ENSO variability in the XBT temperature data. The data
are smoothed by a 1-year running average (For colour version, see Colour
Plate Section).
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transport through Lombok Strait was only 1 Sv southward due to discrete
occasions of shallow northward flow, compared to the 4 Sv observed during
the southeast monsoon from July through September (Murray and Arief,
1988). Similar periods of northward transport are inferred from changes in
the cross-strait pressure gradient measured by the shallow pressure gauges
deployed across Lombok Strait from 1996 to 1999 (Hautala et al., 2001). The
flow reversals observed in Lombok Strait are likely to be related to the
passing of Kelvin waves, forced in the equatorial Indian Ocean (Sprintall
et al., 1999, 2000).

Ombai Strait lies between Alor and Timor Islands, and connects
the Banda Sea with the Savu Sea (Fig. 1). The strait is 30-km wide, and
a recent bathymetric survey by Molcard et al. (2001) suggests a sill depth
of 3,250 m. From a single mooring in Ombai Strait, Molcard et al. (2001)
suggest a transport range between 4.3 Sv and 5.8 Sv, depending on the

Makassar Strait and Flores Sea XBTs
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assumed cross-strait shear, with 0.9–1.2 Sv average transport in the
upper 100 m.

The Timor Passage is a long, narrow trench that lies between the south-
east-oriented coast of Timor and the northern edge of the wide, shallow
northwest Australian coastal shelf (Fig. 1). The easternmost sill connecting
the Timor Passage with the Banda Sea is 1,250 m, shallower than the
1,890 m western sill connecting the trench with the southeast Indian Ocean.
Deployment of two year-long moorings across the western sill have been
undertaken on two occasions by the French: a total westward transport of
4.571.5 Sv from 120 to 1,050 m in August 1989–September 1990 (Molcard
et al., 1994); and 4.371 Sv westward from 0 to 1,250 m in March 1992–April
1993 (Molcard et al., 1996). An ADCP repeat survey of Timor Passage in
December 1995 (Hautala et al., 2001) suggests that the high-velocity surface
core of the throughflow may extend further south than what the Molcard
et al. (1996) extrapolation allowed for, which would lead to a much higher
total transport through Timor Passage.

2.2 Intraseasonal-to-Interannual Characteristics of the ITF
Transport and Property Fluxes

The recent measurements around the Indonesian archipelago revealed an
unanticipated richness in the timescales of throughflow variability, from
intraseasonal (40–60 days) to interannual (El Niño). The different time-
scales are evident in all the transport and property fluxes and are likely the
result of remote forcing by both the Pacific and Indian Ocean winds, and
local forcing within the regional Indonesian seas. Earlier estimates of the
mean throughflow were wide ranging (2–22 Sv; Godfrey, 1996) in part be-
cause of not only the lack of direct estimates, but also the real variation that
can severely alias estimates of the mean if survey periods are not long
enough. In fact, the recent estimates from the time series measurements
suggest a Makassar Strait inflow transport of 9.3 Sv that is comparable to
the transport sum of 10.5 Sv through the passages of the Lesser Sunda
Island chain (Fig. 1). However, these mean ITF estimates should be inter-
preted with some caution as the time series were made at different times
and at different periods of the ENSO phase: the Makassar moorings in
1997–1998; the Ombai mooring in 1996; the Timor Passage in 1989–1990
and 1992–1993; and the Lombok Strait in 1985.

Annual changes in the ITF arise from the directionally varying winds
associated with the regional monsoon system. During the northwest mon-
soon from December through March, surface waters flow into the Banda Sea
(Wyrtki, 1987), with Ekman downwelling reaching a maximum in February
(Gordon and Susanto, 2001). The flow from the Banda Sea toward the
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Indian Ocean is strongest from July to September, when flow is enhanced by
the local Ekman response to the more intense southeast monsoon (Wyrtki,
1987). Observations from the 3-year pressure gauge data in the Lesser
Sunda outflow passages (Chong et al., 2000; Hautala et al., 2001), as well
as year-long current meter data in Lombok Strait (Murray and Arief, 1988),
Ombai Strait (Molcard et al., 2001) and Timor Passage (Molcard et al.,
1994, 1996), find that maximum throughflow occurs during the southeast
monsoon period.

Remote wind forcing from the Indian Ocean is responsible for changes in
the ITF via the generation of equatorial and coastal Kelvin waves. Anom-
alous wind bursts in the equatorial Indian Ocean force an equatorial Kelvin
wave that, upon impinging the west coast of Sumatra, results in poleward-
propagating coastal Kelvin waves. Westerly wind bursts force downwelling
Kelvin waves semiannually during the monsoon transitions, nominally in
May and November, and intraseasonally in response to the Madden-Julian
oscillation. The poleward propagation of the downwelling coastal Kelvin
wave raises the sea level along the Indonesian wave guide of Sumatra and
the Lesser Sunda islands (Clarke and Liu, 1993, 1994), causes maximum
eastward flow of the semiannually reversing South Java current (Quadfasel
and Cresswell, 1992), and may temporarily reverse the along-strait pressure
gradient within the Lesser Sunda passages. In May 1997, a semiannually
forced Kelvin wave resulted in eastward flow of very fresh, warm water in
the South Java current (Sprintall et al., 1999), with subsequent northward
flow observed up through Lombok Strait and past the mooring in Makassar
Strait (Sprintall et al., 2000).

Remote winds in the Pacific Ocean drive large-scale circulation that
impacts the ITF on low-frequency, interannual timescales. The weakening of
Pacific trade winds that occurs during El Niño, which reduces the pressure
gradient between the Pacific Ocean and the Indian Ocean, is thought to be
the driving force for the throughflow on long timescales (Wyrtki, 1987). The
changes are of the sense that the transport is smaller (larger), and the
thermocline is shallower (deeper) during El Niño (La Niña) time periods
(Kindle et al., 1989; Bray et al., 1996; Fieux et al., 1996; Gordon and Fine,
1996; Meyers, 1996; Potemra et al., 1997). The high-resolution POP model
(Parallel Ocean Program; http://www.climate.lanl.gov/Models/POP/) yields a
12 Sv annual average during La Niña and 4 Sv average during El Niño
(Gordon and McClean, 1999). The Arlindo mooring observations within
Makassar Strait, which span the entire cycle of the strong 1997/1998
El Niño, find a correlation (r ¼ 0.73) between Makassar transport and
ENSO (Gordon et al., 1999; though the time series is far too short to say this
with assurance). During the El Niño months of December 1997�February
1998, the transport average is 5.1 Sv with a corresponding internal energy
‘‘heat’’ transport of 0.39 pW; while during the La Niña months of December
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1996�February 1997, the average is 12.5 Sv, a 2.5-fold difference, with a
0.63 pW heat transport. The Arlindo Makassar Strait time series reveals
that the ITF transport is smaller and the thermocline is shallower during El
Niño (Fig. 2a; Bray et al., 1996, 1997; Meyers, 1996; Ffield et al., 2000). The
correlation between variability in the average thermocline temperature to
variability in the southward Makassar transport is r ¼ 0.67 (Ffield et al.,
2000). Using nearly 15 years of XBT data, Ffield et al. (2000; Fig. 2b2)
show that the Makassar upper thermocline temperature is highly corre-
lated with ENSO: 0.77 for the Southern Oscillation Index; –0.80 for NINO3
SST anomaly; and –0.82 for NINO4 SST anomaly. The correlations in-
crease when the ENSO time series are lagged a month or so. Thus the
Makassar temperature field, when coupled with the throughflow, transmits
equatorial Pacific El Niño and La Niña temperature fluctuations into the
Indian Ocean.

In the Lesser Sunda exit passages, the transport variations estimated
from the shallow pressure gauges suggest diminished flow through Lombok
and Ombai Straits during the ENSO years 1997–1998, with increased flow
through Timor Passage (Hautala et al., 2001). This is consistent with a
20-year run of the POCM model (Parallel Ocean Climate Model; http://
www.nps.navy.mil/�rtt/POCM_info.html), in which there is stronger flow
through Timor Passage and weaker flow through Ombai Strait during ENSO
events (Potemra et al., 2002), although the magnitude of the transport
changes through the two model straits do not fully compensate each other.
This change in the ratio of transport carried through each of the Indonesian
passages has been hinted at by the recent measurements, although again,
the lack of simultaneous direct measurements in the passages makes inter-
pretation difficult. For example, water mass analysis suggests that during
La Niña time periods, when Makassar Strait throughflow is maximum, it
appears that additional, albeit small, amounts of north Pacific thermocline
water may enter the Banda Sea via the Lifamatola Passage from the Maluku
Sea (Gordon and Fine, 1996).

2.3 Storage and Modification of the ITF Waters within the
Internal Indonesian Seas

The different monitoring programs within the Indonesian region indicate
large differences in peak transport timing between the inflow and outflow
straits (Meyers et al., 1995). For example, while Gordon et al. (1999) found
maximum transport through Makassar Strait during the northwest mon-
soon of 1996–1997, flow observed during the SPGA leaving the interior seas
for the Indian Ocean was minimum during the same period (Hautala et al.,
2001). The phase differences are most likely due to storage in the Banda
Sea. Assuming a two-layer ocean, Gordon and Susanto (2001) found that the
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Banda Sea surface water divergence, estimated from satellite altimetric
data, correlates reasonably well with a 3-month lag of the export of upper
ocean water through the Lesser Sunda island exit passages, as estimated by
the SPGA. It appears that the Banda Sea acts as a reservoir, filling up and
deepening the thermocline during the northwest monsoon. During the more
intense southeast monsoon, Ekman flow in the Banda Sea combined with
the lower sea level off the south coast of the Lesser Sunda Islands, are more
conducive to drawing waters into the Indian Ocean (Wyrtki, 1987). The
storage of mass and heat within the internal Indonesian seas will dramat-
ically affect the interpretation of the measurements of the throughflow if
made over short timescales.

The Banda Sea is also the primary site for conversion of the ITF
profile from Pacific into the distinct Indonesian sea stratification, which
is then exported into the Indian Ocean (Ffield and Gordon, 1992). A series
of CTD stations from the Arlindo 1993–1994 cruises shows the attenuation
and modification of the temperature and salinity profiles from the north
Pacific salinity-maximum (100–150 m) and salinity-minimum core layers
(250–�350 m) with distance from the Makassar Strait (Ilahude and Gordon,
1996). The temperature and salinity stratifications as well as SST are
significantly altered by the strong air�sea fluxes, seasonal wind-induced
upwelling and large tidal forces within the Banda Sea (Ffield and Gordon,
1992, 1996; Hautala et al., 2001). Besides the vertical mixing, the atten-
uation of the salinity minimum is also due to the isopycnal injection of
the more saline water from the south Pacific that enters the Banda
Sea through Lifamatola Passage (Gordon and Fine, 1996; Hautala et al.,
1996).

Hence it appears that both the composition and magnitude of the stored
waters within the Banda Sea could have a significant impact on the Indian
Ocean heat, freshwater and mass budgets. For example, Hautala et al.
(2001) suggest that an imposed transport imbalance of 5 Sv, consistent with
that determined by Gordon and Susanto (2001) on seasonal timescales,
affects the temperature at thermocline depths by about 51C. Convergences
and divergences of this magnitude can have a substantial impact on therm-
ocline stratification, and thus may affect SST by changing the temperature
of the water being entrained into the mixed layer. Because of the possibility
of different sampling biases in the previous measurements of the inflow and
outflow straits, and the relatively short time series, we cannot unambigu-
ously determine transport imbalances into and out of the internal seas as
yet. Part of the apparent differences in transport timing between the inflow
and outflow straits may be due to the nature of the measurements: the
Makassar instruments were largely below 200 m, whereas the SPGA in the
outflow straits samples the upper throughflow. Another cause for the differ-
ence in peak-to-peak timing between transport through Makassar Strait
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and the exit passages may be the contribution to the ITF through the seas
and passages directly north of the Banda Sea, the so-called ‘‘eastern’’ route
for the ITF.

3 Model-to-Data Comparisons: Method

3.1 Model Configuration

The model used in this study is based on the GFDL MOM3 code (Pacanowski
and Griffies, 2000). It is a global model with a horizontal resolution of 0.51
longitude by 0.331 latitude and with 36 vertical levels. The model uses partial
bottom cells and has an additional frictional bottom boundary layer as de-
scribed in Pacanowski and Griffies (2000). The model topography is a
smoothed discretization of the observation-based ETOPO5 bottom topogra-
phy. Horizontal viscosities and diffusivities are calculated by a numerical
closure scheme based on the ideas of Smagorinsky, in combination with a
biharmonic operator (Griffies and Hallberg, 2000). Vertical mixing of mo-
mentum, heat and salt is achieved by applying the hybrid Chen et al. (1994)
mixed-layer model, in which strong mixing is assumed to occur within a bulk
mixed layer. Below the mixed layer, internal mixing is parameterized by a
gradient Richardson number-dependent mixing (Schiller et al., 1998).
The third-order quicker scheme was used to solve the advection of tracers
(Pacanowski and Griffies, 2000). Wind-stress fields were derived from the
weekly ERS1/2 scatterometer wind product as provided by IFREMER (http://
www.ifremer.fr/cersat/NEWS/2000/E_030400.HTM, also see Bentamy et al.,
1999). Thermohaline surface fluxes (apart from incoming solar shortwave
radiation and precipitation) are calculated by coupling the ocean general
circulation model (OGCM) to an atmospheric boundary-layer model
(Kleeman and Power, 1995; Schiller and Godfrey, 2003). The atmospheric
boundary-layer model contains a prognostic equation for near-surface air
temperature that is used to calculate surface fluxes of latent heat, sensible
heat, and long-wave radiation. This simple atmospheric model is designed for
simulating anomalies of ocean�atmosphere feedback processes on intrasea-
sonal-to-interannual timescales; on longer timescales, SST and therefore
heat fluxes are determined by nudging toward observations (Reynolds and
Smith, 1994). The latter data set is used to calculate a seasonal heat flux
climatology to which the intraseasonal-to-interannual anomalies are added.
The ocean model was initialized with Levitus data (Boyer and Levitus, 1997)
and spun up from rest for eight model years. After this time, the upper
oceans in lower and midlatitudes have achieved a thermodynamic equilib-
rium. Subsequent integrations covered the period from October 1992 to
September 2000. Table 1 contains a summary of the model.
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3.2 Data Analysis

As part of the TOGA upper ocean observing system, a network of XBT sec-
tions was established in 1983–1986 along commercial shipping lines between
the western coast of Australia and various ports (Meyers et al., 1995; Meyers,
1996; Wijffels and Meyers, 2004). The lines investigated are detailed in Fig. 3
and are designated: IX1 that is from Fremantle on the southwest coast of
Australia to Sunda Strait on the western tip of Java, Indonesia; and PX2 that
crosses the Banda Sea just north of the Lesser Sunda island arc. On all lines,
Sippican T-4 and T-7 XBTs were dropped roughly every 4 h (�80 nm) from
volunteer observing vessels. Sampling has occurred on average at fortnightly
frequency along IX1 and monthly frequency on the other lines, though it can
be less due to changes in shipping and the time required to re-equip the line.
In mid-1986, the probe type changed from Sippican T-4 s to T-7 s and thus
after this date, the maximum depth of the profiles collected changed from
450 m to 760 m. The profiles were carefully quality controlled (Bailey et al.,
1994); further details can be found in Wijffels and Meyers (2004). Wind
stresses applied to observational data to explore wave dynamics were derived
from the NCEP reanalysis described by Kalnay et al. (1996) as downloaded
from the Climate Diagnostic Center, Boulder, USA. Altimetric sea-level data
from AVISO are also used (Le Traon et al., 1998).

Table 1: Summary of the OGCM

Model resolution Dl ¼ 0.51, Dj ¼ 0.331, 36 vertical levels plus bottom-
boundary layer (CD ¼ 3� 10�3)

Advection scheme Quicker scheme
Horizontal subgrid
scale
parameterization

(a) Biharmonic mixing for momentum and tracers,
Smagorinsky-like scheme for coefficients (Griffies and
Hallberg, 2000), Prandtl number ¼ 100
(b) Laplacian mixing with Ah ¼ Am ¼ 500 m2/s

Vertical subgrid
scale
parameterization

Hybrid Chen mixing scheme (Power et al., 1995; Schiller et
al., 1998): Niiler–Kraus-like bulk mixed layer near the
surface, gradient Richardson number mixing below

Surface forcing Wind stresses: weekly ERS1/2 scatterometer winds
(IFREMER), Surface heat fluxes (latent, sensible, and long-
wave) provided by atmospheric boundary-layer model with
bulk parameterizations (Kleeman and Power, 1995); solar
shortwave radiation: OLR-based within 151 of equator,
NCEP elsewhere (Schiller and Godfrey, 2002); precipitation:
Xie and Arkin (1997)
Spin-up run with nudging to Reynolds and Smith (1994) SST
data and Boyer and Levitus (1997) SSS data. Time constant:
l ¼ 1/30 days

Time steps Tracer: 600 sec, baroclinic velocity: 600 sec, free surface:
10 sec
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4 Results

4.1 Temperature Structure in the ITF

Observations from WOCE XBT section IX1 and PX2 (Fig. 3) are compared
with model fields, focusing on potential temperature (Sections 4.1 and 4.2)
and wave dynamics in the ITF region (Section 4.3). Examples of the mapped
observed and simulated temperature from the IX1 and PX2 sections are
shown in Figs. 4–7.

Off the Australian coast (Fig. 4), the yearly formation of the seasonal
thermocline dominates variability in the upper 150 m (upper 200 m in
model). The amplitude of the seasonal cycle of surface temperature is

Figure 3: Locations of WOCE XBT profiles used in this study. The names of
the primary lines and plots are indicated. Water depths shallower than
200 m are grey shaded.
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weaker in the model than in reality, and the waters between the seasonal
and permanent thermocline have much lower stratification in the model,
possibly indicating a too weak Leeuwin Current (and its associated warm
advection of subtropical stratification into the coastal zone). Below this
depth (�150 m), eddy variability is superimposed on a low-frequency mod-
ulation of the depth and thickness of the main thermocline. During ENSO
years (1986�1987, 1991–1994, and 1997�1998), the thermocline is shal-
lower (closer to the surface), thicker (vertical extent) and surface temper-
atures are cooler. Although the model reproduces the observed features, the
simulated thermocline is too shallow and the ENSO signals are shallower
and much weaker than is observed. In particular, the cooling of SST asso-
ciated with a shallow thermocline, due to lifting and entrainment of cold
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Figure 4: Potential temperature as a function of time and depth along IX1
off the coast of western Australia near 251S for (a) observations and (b)
model (For colour version, see Colour Plate Section).
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subsurface water, observed in the 1997/1998 El Nino, is not generated in the
model.

Off Java, the thermocline is very thin and lies near 100 m with a warm
isothermal layer above it (Fig. 5a, b). While generally reproducing these fea-
tures, the model thermocline is too thick and deep. A seasonal thermocline is
almost entirely absent in both model and observations, and instead, the warm
surface layer is punctuated by intense upwelling events the largest of which
occur in late 1987, 1988, 1989, 1991, 1994, and 1997. These events are
present in the model but persist for longer period and have a stronger SST
signature than in reality (Fig. 5b). Both model and observations show upward
phase propagation of variations at intraseasonal and semiannual timescales.

Temperatures below 150 m (below 200 m in model) undergo semiannual
variations remotely wind driven by the Wyrtki Jets (Clarke and Liu, 1993),
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Figure 5: Potential temperature as a function of time and depth along IX1
off the coast of Java at the Sunda Strait for (a) observations and (b) model
(For colour version, see Colour Plate Section).
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which feature upward vertical phase propagation both in the observations
and model, but are weaker in the latter (by about a factor of 2). The sem-
iannual variability attenuates toward the surface, where interannual var-
iability becomes stronger. The 101C isotherm of the model also reveals a
global warming trend that might have been caused by the relatively short
spin-up time in the model, which did not allow a dynamic adjustment of the
deeper layers of the model.

At the western end of PX2 (Fig. 6), at the Java Sea shelf break, a thin
shallow thermocline also exists. Variability in the surface layer is weak,
lacking the dramatic variations seen off Java and is dominantly annual and
semiannual, while semiannual and lower frequency variations occur at
depth. Here, the model simulates the mean temperature structure well.
The temperature variability in the surface layer is too weak in the model,
but the simulated thermocline events are quite well correlated with the
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Figure 6: Potential temperature as a function of time and depth along PX2
off the Java shelf break near 1161E for (a) observations and (b) model (For
colour version, see Colour Plate Section).
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observations – note the cooling near 150 m in 1997/1998. Off the Arafura
shelf west of Darwin (Fig. 7), a very strong seasonal thermocline forms.
Below the seasonal thermocline, the annual period continues to dominate
but with striking upward vertical phase propagation, as can be seen in the
observations and that is very well simulated by the model.

4.2 Spectral Content of Temperature Variability

To reveal the spatial characteristics of temperature variability along IX1
and PX2, total variance was binned into four broad spectral bands: for pe-
riods less than 0.4 years (intraseasonal/mesoscale); periods between 0.4
and 1.1 years (seasonal); periods between 1.1 and 3.2 years (quasi-biennial
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Figure 7: Potential temperature as a function of time and depth along PX2
at the Arafura shelf break near 1331E for (a) observations and (b) model (For
colour version, see Colour Plate Section).
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(QB) band); and for periods greater than 3.2 years (ENSO band). The model
data were detrended prior to calculating the variances. The variance in
each spectral band is shown as a percentage of the total mapped variance in
Figs. 8 and 9.

Eddy energy is only partially suppressed by the mapping scales used to
average the XBT data, and we find that observed intraseasonal energy ac-
counts for typically 10–20% of the total mapped observed temperature var-
iance in two regions along IX1 (Fig. 8a): off the coast of western Australia
where the IX1 line intersects the eddy field associated with the Leeuwin
Current and between 131S and 81S along the axis of the South Equatorial
Current, where strong intraseasonal eddies develop as a result of an insta-
bility of the current at its seasonal maximum (Feng and Wijffels, 2001). In-
traseasonal variability in the model along the Australian coast (Fig. 8e) is less
than 10% along most of IX1 with a maximum of about 20% along the coast of
Java, which is still significantly weaker than in the observations (up to 40%).

The observed seasonal band (Fig. 8b), which includes both the annual
and semiannual frequencies, dominates SST and variability in the seasonal
thermocline. The depth penetration of the seasonal thermocline clearly in-
creases to the south along with the strength of the seasonal heating/cooling
cycle. This feature is quite accurately reproduced by the model (Fig. 8f).
Dominant seasonal variation is also evident in the observations throughout
the water column between 121S and 201S (Fig. 8b); this is the forced annual
Rossby wave described by Masumoto and Meyers (1998), which is primarily
driven by local wind-stress curls, and associated Ekman pumping and
Rossby wave propagation. Although the model also shows increased sea-
sonal variability between 121S and 201S (Fig. 8f), it lacks the coherent signal
across the whole latitude band between 121S and 201S in the observations.

Off the coast of Java, the relative importance of the observed and sim-
ulated seasonal cycle in temperature variability is largest in a narrow region
trapped at the coast below 100 m and extending to 750 m (Fig. 8b, f). This
signal is in response to the semiannual Kelvin waves excited in the equa-
torial Indian Ocean. Interestingly, both observed and simulated coastal SST
and temperature variability above 100 m off Java largely occur in the QB
and ENSO bands (Fig. 8c, d, g, h). Variance in the QB band occurs in the
Java mixed layer and upper thermocline and extends further offshore at
depth than the seasonal variability (Fig. 8c, g). Off Australia, the simulated
and observed ENSO band accounts for 30–40% of the total variability in the
upper thermocline.

Along PX2, the observed intraseasonal band has little energy due to the
longer averaging times (e-folding scale of 30 days) needed to grid this more
sparsely sampled and noisy section (Fig. 9a). Similar to IX1, the model
shows weaker than observed intraseasonal variability along this section
(Fig. 9d). Seasonal variations dominate observed and, to a lesser extent,
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Figure 8: The percentage of mapped temperature variance in four spectral
bands along IX1 for observations (upper half) and model (lower half) for
1992�2000 period: (a, e) intraseasonal (periods 40.4 years), (b, f) seasonal
(periods between 0.4 and 1.1 years), (c, g) biennial band (periods between 1.1
and 3.2 years), and (d, h) interannual (periods longer than 3.2 years).



Figure 9: As for Fig. 8, but for PX2.
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simulated temperature variability above and below the main thermocline
and at the Arafura shelf break (Fig. 9b, f). Both observations and model
show a decrease in strength of the seasonal signal in SST from the Arafura
to the Java shelf break. Within the thermocline, QB and ENSO band var-
iability dominate (Fig. 9c, d, g, h). The QB variability also contributes sig-
nificantly below the thermocline. For seasonal and longer timescales the
model simulates the observed structures with reasonable accuracy, though
the responses occur at deeper depths than observed.

Ray theory explains the results shown in Figs. 5 and 8 where annual and
semiannual energy dominates subthermocline depths off Sunda Strait,
while ENSO-band variability is confined to the upper thermocline. Simple
ray-tracing theory (following Kessler and McCreary, 1993) along the equa-
torial and coastal wave guides, starting at the thermocline depth of 100 m at
601E (mid-Indian basin), suggests semiannual energy will dive to below
300 m off Sunda, only to 200 m depth for annual frequencies and barely to
120 m for the ENSO band (5 years). Waves originating at 1701W in the
equatorial Pacific can dive to well below 1,000 m for the semiannual, to
300 m for the annual and barely to 130 m for the ENSO band. Thus the
upward propagating annual wave seen off the Arafura shelf break (Fig. 7) is
remotely forced in the central Pacific. However, a discrepancy in the linear
ray theory is the thermocline response off the western Australian coastline,
which extends to 300 m depth (Fig. 4), and therefore much deeper than the
ray paths suggest was possible. Likely, the energy is following the therm-
ocline as it deepens poleward (Wijffels and Meyers, 2004).

4.3 Wave Guides in the ITF and Their Relation to Remote
Wind Forcing

As was shown by Meyers (1996), the interannual variability along IX1 is
strongly related to the large-scale wind-stress fields over the Pacific and In-
dian Oceans. The nature of the relation is qualitatively accounted for by linear
wave theory, predicting that equatorial Kelvin and Rossby waves excited
by variation in large-scale wind stresses excite coastal waves, which carry
the signal to higher latitudes. Here we examine the simulated and observed
details of the relationship between these remote wind forcing with sea level
and temperature variability in the region at seasonal and longer timescales.

As recognized by Clarke and Liu (1994), the zonal wind stresses along
the equator of the Pacific and Indian Oceans are significantly correlated in
the ENSO band, such that during ENSO the weakened Pacific Trades are
often accompanied by easterly wind anomalies along the Indian Ocean
equator. However, while Pacific winds are dominated by the ENSO band, the
Indian Ocean winds have much more energy at higher frequencies with
spectral peaks near periods of 3 years and between 1 and 2 years. This
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higher frequency ‘‘signature’’ of equatorial Indian Ocean winds versus the
lower frequency energy of the Pacific winds is crucial in distinguishing the
impact of these two sources of remote energy within the Indonesian seas.

To identify the large-scale variations of sea level anomaly (SLA) as
a response to wind forcing, a lagged multiple regression is performed at
each point of a mapped altimetry data set on wind stresses t̂I (Wijffels and
Meyers, 2004):

SLAðtÞ ¼ aP½�t̂Pðtþ LPÞ� þ aIt̂Iðtþ LIÞ þ aLt̂Lðtþ LLÞ (1)

where the 4-month low-passed seasonal SLA, at time t, is expressed as the
sum of three wind indices, t̂i, at lag Li with coefficients ai. The wind indices
used are the zonal wind averaged along the Pacific equator (note the reverse
sign, so that positive wind anomalies give positive temperature anomalies);
the along path winds on a path extending along the coast from Sunda Strait
to the equator and then along the equator to Africa; and a local wind index.
These indices � Pacific, Indian and Local � are denoted by P, I, and L,
respectively in equation (1). Each wind index had the seasonal cycle re-
moved, was low-pass filtered at 4 months, and normalized before the mul-
tiple correlation was performed. Thus coefficients in equation (1) can be
interpreted as the sea-level change associated with a single standard devi-
ation change in the wind index.

All possible lags within 718 months were searched to find the combi-
nation that accounted for the maximum variance at each grid point. Since
the wind indices used in equation (1) are normalized, the calculated coeffi-
cients are in real physical units (cm). Hence, the response during a peak in
the wind index (normalized amplitude of 3) is then given by three times the
coefficient plotted. Data used by equation (1) account for up to 90% of
4-month low-passed seasonal anomalies of sea-level height collected since
late 1992 throughout the throughflow region and over large parts of the
Pacific and Indian Oceans (not shown). We find that various estimates of
‘‘local’’ winds are unable to capture much variance (and hence are not
shown). The results based on sea level described below have also been con-
firmed by results from a similar analysis of the temperature fields along the
XBT lines from both the observations and the model. For further details
about the method, the reader is referred to Wijffels and Meyers (2004).

Observation-based coefficient and lag of sea level for the Pacific wind
index (Fig. 10a, b) show that high sea levels occur in the western Pacific in
response to easterly wind anomalies, and much of this signal ‘‘leaks’’ along
the New Guinea�Irian Jaya�Australian wave guide down to the southern
tip of western Australia, with some suggestion of offshore radiation of energy
north of 221S. Coefficients are large and positive near the west Australian
coast. The sense of the multiple correlation is that a large warming and high
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sea levels off the western Australian coast are associated with easterly wind
anomalies along the Pacific equator, a result obtained previously by Meyers
(1996). Downwelling equatorial Rossby waves excited by the wind anomalies
in the central and western Pacific propagate westward and excite coastally
trapped waves off Papua New Guinea, which then propagate anticlockwise
around Australia. Part of this signal also continues around the southwest tip
of Australia and along the south coast (obscured by the spatial smoothing in
the plot). Lags off western Australia are between 0 and 2 months. In sea
level, the maximum lags occur near 181S.

In the subtropics, the Pacific wind response dies out near 1001E, in
agreement with Masumoto and Meyers (1998) and Potemra (2001), who
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found that near this longitude, regional Ekman pumping along Rossby wave
characteristics begin to dominate over variability originating at the eastern
boundary. The simulated correlation pattern looks similar but is signifi-
cantly weaker in amplitude (Fig. 10c, d). This is particularly visible in small
amplitudes in the far western Pacific and also in the weak wave propagation
from the Pacific into the Indian Ocean and along the western Australian
coastline. The simulated phase lags off western Australia are between 2 and
4 months. This ‘‘weak’’ ENSO response in the model is also confirmed by
analysis of its temperature field, showing that the response of the modeled
thermocline along the Australian coast to ENSO winds is too diffusive and
too deep (Fig. 4).
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Interestingly, in both model and observations there is also a strong re-
sponse to the Pacific winds northeast of Madagascar with lags that suggest a
southward propagating response, due to either local wind changes that cor-
relate with ENSO or expressions of later arrivals of Rossby waves at higher
latitudes. However, both the relatively short satellite altimetric record and
the short model simulation are likely to be dominated by the very large
1997/1998 ENSO event and strong Indian Ocean dipole that occurred during
the same years (Saji et al., 1999) – a situation not likely a representative of a
longer record.

The simulated response in sea level to Indian Ocean winds agrees
well with observation-based results (Fig. 11): westerly wind anomalies
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giving high sea levels in the eastern Indian Ocean equatorial and coastal
waveguides. This signal also penetrates into the western portion of the
Banda Sea, Savu Sea, and Makassar Strait at near-zero lag. The propagation
of the equatorially excited waves around the Bay of Bengal is also evident in
the observation-based plot, as is the radiation of energy westward from the
eastern boundary off Sumatra and Java. The western and central Indian
Ocean response to the equatorial zonal wind anomalies is also evident with
lower sea level along 81S at near zero lag in both model and observations.

Despite the overall quite successful simulation of this response by the
model, there are some features that are missing. The radiation of equatorially
forced waves around the Bay of Bengal is entirely missing in the model but is
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clear in the observations. Also, the response east of Lombok Strait is very
weak in the model, unlike in the observations, where much energy is seen to
‘‘jump’’ the strait and reach Ombai Strait near 1251E. In the model, Lombok
Strait is known to be too wide and ‘‘dynamically slippery.’’ This is apparent in
the fact that the bulk of the throughflow transport passes through Lombok in
comparison to reality where only 20–30% actually does. Interestingly, despite
this, little of the remotely forced wave energy appears to pass through
Lombok Strait into the internal seas of the Indonesian archipelago.

5 Discussion and Conclusion

Upper ocean temperature variability within the Indonesian seas and south-
east Indian Ocean has been described on the basis of repeat high-quality
XBT data collected since 1983. The observations have been compared to
results from an eddy-permitting ocean circulation model. Besides strong
annual variability in the seasonal thermocline and in the thermoclines off
the Arafura and Java shelf breaks in both data sets, interannual variability
dominates much of the thermocline variability elsewhere.

Next, a lagged multiple regression technique was performed on the basis
of satellite altimetry collected since 1992. The results reveal that interan-
nual sea-level variability in the southeast Indian Ocean and Indonesian
seas is largely driven by remote equatorial winds, as predicted by Clarke
and Liu (1994). The dominating effect of ENSO, through its modulation of
Pacific equatorial winds and associated equatorial Rossby wave response,
has been proposed and recognized in a series of studies (Clarke and Liu,
1994; Meyers, 1996; Ffield et al., 2000; Potemra, 2001; Wijffels and Meyers,
2004). The penetrating wave signal is visible in both in the coastal wave
guides and as free Rossby waves propagating westward into the southeast
Indian Ocean. Equatorial Indian Ocean winds have different timescales
than Pacific winds. Indian Ocean wind energy penetrates along the Lesser
Sunda island arc and into the internal Indonesian seas, controlling both sea
level and thermocline depth along the eastern Java Sea shelf break and
within Makassar Strait.

We have identified the presence of many of these features in our ocean
circulation model but differences to observations exist in the amplitudes of
the signals and, to a lesser extent, also in the phase of the signals. The most
significant problem of this model (in common with many other ocean general
circulation models) is the deeper than observed thermocline. The near-
surface circulation of the ocean is determined by model physics and exterior
forcing (surface heat and freshwater fluxes, wind stresses). Both of these
components contain errors irrespective of the source of the surface forcing
(from observations as used in this study or from an atmospheric circulation
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model in a coupled mode), which hampers identification and rectification of
model errors. Nevertheless, model errors are the likely cause for the broad-
scale overestimate of thermocline depth and associated misrepresentations
of water temperature and salinity. A more realistic representation of interior
mixing processes is required, and isopycnal mixing might help here.

Another limitation of the model used in this study relates to the moderate
resolution (0.51� 0.331, 36 vertical levels). This resolution is too coarse to
resolve complicated details of currents and water-mass properties in the ITF
region. The primary source of vertical mixing for water-mass properties in
the Indonesian seas could be internal waves generated by barotropic flow
over variable bottom topography as discussed by Ffield and Gordon (1992,
1996). The effect of internal tides and their breaking on vertical mixing has
been parameterized in our model by shear-dependent mixing based on a
gradient Richardson number and therefore represents a potential source of
error in simulating vertical structures.

The relatively weak response to changes in ENSO winds of the model
compared to observations is intriguing and requires further investigation.
One possible explanation for some of the observed discrepancies could be
due to a poorly resolved coastal wave guide in the model. In this region, the
remote response to both ENSO and Indian Ocean equatorial wind changes
occur outside of the equatorial wave guide. While the response within the
wave guide (latitudes approximately o81) is quite well simulated, those
outside are not. The signals must travel through coastal wave guides to
reach the Ombai Strait, the Bay of Bengal, or the southwestern coast of
Australia. We note that these signals are weak in the model, suggesting an
unrealistic partition of energy between reflected equatorial waves and
coastally trapped waves. Further work is needed to confirm this notion, but
it may have implications for where high model resolution is required to
resolve these scattering regions.

To help fully resolve the temporal variability and characteristics of the
ITF transport and property fluxes, a multiyear comprehensive measure-
ment program is required. A serious shortcoming in previous observational
measurement programs within the Indonesian region is the lack of temporal
coherence: the data cover different time periods and depths in the different
passages of the complex pathways toward the Indian Ocean. This has lead to
ambiguity of the mean and variable nature of the ITF, and the transfor-
mation of the thermohaline and transport profiles within the interior seas.
For this reason, and in keeping with the recommendations stemming from
the full community deliberation (OCEANOBS October 1999 meeting in
St. Raphael, see Imawaki et al., 1999; Workshop on Sustained Observations
for Climate of the Indian Ocean, Perth, November 2000, see http://www.
marine.csiro.au/conf/socio/socio.html), an international co-operative effort
commenced in August 2003 with deployments of multiyear moorings for
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direct throughflow velocity, salinity, and temperature measurements simul-
taneously in Makassar Strait, Lifamatola Passage, Lombok Strait, Ombai
Strait, and Timor Passage (Fig. 1). The program that is called INSTANT
(International Nusantara STratification ANd Transport) involves five na-
tions: Australia, France, Indonesia, Netherlands, and USA. INSTANT is
designed to provide a time series of ITF transport and property fluxes, and
their variability from intraseasonal to annual timescales, along the ITF
pathway from the intake of Pacific water at Makassar Strait and Lifamatola
Passage to the Lesser Sunda exit channels into the Indian Ocean. The initial
deployment of all moorings commenced in August 2003, with redeployment
in February 2005, and recovery in July 2006. The resulting simultaneous,
multiyear direct measurements in both the inflow and the outflow ITF pas-
sages will allow us, for the first time, to unambiguously determine the
magnitude of the interocean transport, its properties, and their evolution
between the Pacific and the Indian Oceans. Finally, an important outcome of
the program will be to recommend an efficient set of ongoing observations
that may offer a proxy for a long-term monitoring strategy of the ITF
transport and property fluxes.
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Abstract

The decade of the 1990s was very likely the warmest of the second millennium. The 1990s

was also characterized by one of the strongest El Niño-Southern Oscillation (ENSO) events of

the twentieth century, which occurred in 1997–1998 and was followed by worldwide mass

coral bleaching. In this study, we examined the signal-recording ability of Porites spp. corals

by comparing high-resolution coral oxygen isotope (d18O) records from the northwestern

Pacific with instrumental records of these profound events of the 1990s. Temporal changes in

coral skeletal d18O records from Ishigaki Island, Japan, showed good agreement with in-

strumental records of sea-surface temperature (SST) because the effect of seasonal and in-

terannual variations in salinity on the d18O of seawater in that region was relatively small.
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In the northwestern equatorial Pacific, the cooler SST and relative drought-characterizing El

Niño events were particularly well recorded by corals from the Philippines. These conditions

were also faithfully recorded as distinct positive anomalies in coral d18O records from Chuuk

Atoll and Pohnpei Island in Micronesia. Bleached Porites spp. corals from Ishigaki Island, as

well as corals from Pandora Reef of the Great Barrier Reef, Australia, showed a growth gap,

indicating a substantial decrease in skeletogenesis during the 1997–1998 mass bleaching

event. At Ishigaki Island and the Pacific side of the Philippine Islands, a decreasing trend in

d18Oc was found even over the relatively short period between 1980 and 2000 which may

indicate an SST rise and/or surface-water freshening related to global warming. Our results

demonstrate the potential of coral isotope records to serve as indicators of climatic change in

the tropical and subtropical waters of the northwestern Pacific, where the number of coral

records is still limited.

Keywords: coral; oxygen isotopes; sea-surface temperature; salinity; ENSO;
western Pacific warm pool; climate change

1 Introduction

The Intergovernmental Panel on Climate Change (IPCC) has reported that
the 1990s was very likely the warmest decade of the second millennium and
that 1998 is the warmest year in the instrumental record (1861–2000)
(IPCC, 2001). The report dared to conclude that most of the warming ob-
served over the last 50 years can be attributed to human activities. A very
wide range of physical and biological indicators was listed in the report,
together with key observed changes attributable to anthropogenic climate
perturbations, including a global rise in mean surface temperature, in-
creased El Niño frequency, and frequent coral bleaching. In this regard,
sea-surface temperature (SST) is an important indicator of climate change,
because the global mean surface temperature is defined as the area-
weighted mean of land- and sea-surface temperatures. All three of these
indicators, El Niño frequency, coral bleaching, and SST rise, are detectable
by analysis of coral skeletal records.

Corals offer rich archives of past climatic variability in tropical and
subtropical regions, where instrumental records are limited (Gagan et al.,
2000; IPCC, 2001). The oxygen isotopic composition of the coral skeleton
(d18Oc) is a function of both SST and the oxygen isotopic composition of
seawater (d18Ow; McConnaughey, 1989), which relates to salinity (Fairbanks
et al., 1997). In oceanic settings where d18Ow is constant, coral d18Oc records
SST variability (e.g., Dunbar et al., 1994; Wellington and Dunbar, 1995;
Charles et al., 1997). In contrast, where d18Ow variations are large
compared with SST changes, coral d18Oc records can be used to reconstruct
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paleoprecipitation (e.g., Cole et al., 1993; Linsley et al., 1994; Tudhope et al.,
1995) and sea-surface salinity (SSS) (Le Bec et al., 2000).

The synchronous ocean–atmospheric phenomenon known as the El
Niño-Southern Oscillation (ENSO) appears to occur as a result of an un-
stable interaction between the ocean and atmosphere and comprises con-
trasting warm (El Niño) and cold (La Niña) states in the tropical Pacific
(Philander, 1990). El Niño was originally recognized as an unusual warming
of the normally cool surface waters off the west coast of South America.
ENSO-related climate variations in the low latitudes of the Pacific can be
recognized as an oscillation between warm–wet and cool–dry conditions.
Because the combination of warm and wet or cool and dry conditions serves
to increase the amplitude of d18Oc variations, coral d18Oc records are useful
for examining past ENSO frequency and related climate variability (e.g.,
Cole et al., 1993; Dunbar et al., 1994; Linsley et al., 1994; Wellington and
Dunbar, 1995; Tudhope et al., 1995, 2001; McGregor and Gagan, 2004).

Long-term trends in SST in the tropical and subtropical regions have
been examined based on temporal variations in skeletal d18Oc retrieved from
long-lived Porites spp. colonies. Gagan et al. (2000) reviewed the latest de-
velopments in the use of coral d18Oc records for reconstructing tropical cli-
mate over the past several centuries. They pointed out several important
findings based on published long-term coral d18Oc records, including: (1) a
warming/freshening trend during the nineteenth and twentieth centuries,
(2) a contribution to the shift in d18Oc from freshening of the ocean surface
too large to neglect, and (3) abrupt, spatially coherent shifts in d18Oc values,
possibly related to enhanced volcanism and other global climate events.
Long records of ocean temperatures from corals are expected to be partic-
ularly valuable for improving our knowledge of climate history (Jones et al.,
2001).

Coral bleaching has been described in the literature since the beginning
of the twentieth century, including an early observation from the Great
Barrier Reef (GBR) (Yonge and Nicholls, 1931). Since the late 1970s, how-
ever, there have been numerous reports of mass bleaching affecting coral
reefs in the Caribbean and elsewhere in the tropics (Glynn, 1984). These
recurrent coral-bleaching events may be a response to global warming
(Glynn, 1990, 1991). Coral bleaching is commonly linked to unusually high
SST, which destroys the symbiotic relationship between the host corals and
zooxanthellae (Jokiel and Coles, 1990). During 1997–1998, in particular,
severe coral bleaching was reported from many coral reefs in the tropical
and subtropical regions of the world. This global-scale coral-bleaching event
coincided with one of the strongest El Niño events of the twentieth century
and the warmest global temperatures on record (Lough, 2000). Thermal
stress and bleaching of corals are reported to reduced calcification and de-
crease skeletal extension rates (Jokiel and Coles, 1977; Oliver, 1985; Goreau
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and Macfarlane, 1990; Leder et al., 1991; Tudhope et al., 1992). Suzuki et al.
(2000) also identified a distinct reduction in skeletal growth of a Porites
lutea coral during the 1997–1998 mass bleaching event in the Ryukyu
Islands. However, the effects of bleaching on stable isotope ratios and proxy
climate records extracted from coral skeletons have not been fully examined
until very recently (Suzuki et al., 2003).

Our purpose here is to demonstrate that long-lived, massive Porites spp.
corals can provide accurate climatic information suitable for high-resolution
paleoclimate reconstructions. We chose to examine corals in the tropical
western Pacific because this is an excellent locality for reconstructing both
oceanic and atmospheric anomalies associated with ENSO (Gagan et al.,
2004). We present high-resolution skeletal d18Oc records of Porites spp. corals
from four sites: Ishigaki Island in southern Japan, Bicol in the Philippines,
and Chuuk (Truk) Atoll and Pohnpei Island in Micronesia. The response of
coral growth to the 1997–1998 mass-bleaching event was investigated by
comparing skeletal d18Oc microprofiles for Porites corals from Ishigaki Island
and Pandora Reef, central GBR. These coral records demonstrate their abil-
ity to function as archives of the ENSO phenomenon, coral-bleaching events,
and long-term trends in SST.

2 Study Sites: Tropical Northwestern Pacific

The main area sampled for corals in the present study was the tropical
northwestern Pacific, where published coral records are still rare compared
with other areas in the tropics and subtropics (Fig. 1; Table 1). The study
area covers a relatively wide range of latitude, from Pohnpei Island (71N) in
the equatorial Pacific to Ishigaki Island (241N) in the Kuroshio Current
region of the northwestern Pacific.

The western equatorial Pacific is one of the hottest and wettest tropical
ocean regions on Earth. The area in which SST is higher than 28 1C is
referred to as the western Pacific warm pool (WPWP) (Yan et al., 1992) and
more recently as the Indo-Pacific Warm Pool (IPWP), which includes warm
areas in the eastern Indian Ocean (Gagan et al., 2004). Climatic variability
relating to the ENSO cycle is typically large along the equator. Corals from
Micronesian islands located near the northern border of the WPWP, Palau,
Chuuk, Pohnpei, and Majuro, lie along an east–west transect at about 71N
latitude, providing a unique opportunity to reconstruct the migration (E–W
zonal displacement) and expansion (in total area and N–S breadth) of the
WPWP, both seasonally and in response to the interannual ENSO cycle.
Seasonal variations in SST and SSS show an east–west trend along this
island transect (Fig. 1; Levitus et al., 1994). Annual mean SST increases,
and SSS decreases, westward from Majuro to Palau, because Palau is close
to the center of the WPWP.
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Figure 1: Oceanic settings of study sites in the western Pacific. (A) The location of the western Pacific warm
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Table 1: Porites coral samples examined in this study.

Site Core id. Locality Depth (m MSL) Date of collection DASILVA SMD94 Microsampling interval (mm) Reference

Lat. Long Mean Max. Min.

Micronesia
Chuuk Atoll CHU99-01 81N 1521E 3.9 March 11, 1999 28.8 29.4 28.1 400 This study
Pohnpei Reef POH99-01 71N 1581E 1.0 March 15, 1999 28.8 29.3 28.3 400 Inoue et al. (2004)
Philippines
Bicol SWGM01-01 131N 1241E 6 March 2001 28.5 29.8 26.9 400 This study
Ishigaki I., Japan 241N 1241E 25.7 29.0 22.4
Urasoko Bay IU96-07 3.6 November 22, 1996 400 Suzuki et al. (1999)
Shiraho Reef IS91-06 2 September, 1991 This study
Yasura Channel IY99-01 0.7 February 2, 1999 200 Suzuki et al. (2003)
Yasura Channel IY99-02 0.8 February 2, 1999 200 Suzuki et al. (2003)
Great Barrier Reef 191S 1461E 26.3 28.9 24.2
Pandora Reef PAN-1-B 5 January 14, 1999 200 Suzuki et al. (2003)
Pandora Reef PAN-3 5 January 14, 1999 200 Suzuki et al. (2003)

MSL, mean sea level; SST, sea surface temperature.
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Seasonal variation of rainfall in the tropic zone is generally controlled by
the position of the Intertropical Convergence Zone (ITCZ; Fig. 1). The ITCZ
is an area of low pressure where the northeast and southeast trades meet,
and it is characterized by a band of heavy precipitation. On the other hand,
interannual variations of SST and rainfall in the western equatorial Pacific
are strongly influenced by the ENSO phenomenon (Fig. 2). From the
Philippines to Micronesia cooler SSTs and relative drought characterize El
Niño events, when the WPWP and the Indonesian low atmospheric pressure
system migrate eastward toward the central Pacific. Cooling of SSTs is
probably caused by the shallowing of the thermocline as a result of the
relaxation of the trade winds across the Pacific basin. Lower than average
rainfall in the WPWP area is a result of zonal displacement of convective
centers of the Walker circulation during El Niño events.

Two of the four coral sites examined in this study, Bicol (131N, 1241E),
near the southeastern tip of Luzon Island in the Philippines, and Ishigaki
Island, one of the Ryukyu Islands in the East China Sea, are located within
the path of the warm Kuroshio Current (Fig. 1). Bicol is close to the point
where the North Equatorial Current bifurcates, forming the northward
flowing Kuroshio and the southward flowing Mindanao Current. Bicol ap-
pears to be located near the center of the area of reduced rainfall during El
Niño events, but the local SST there shows little correlation with the South-
ern Oscillation Index (SOI; Trenberth and Hoar, 1996), which is a widely
recognized index of ENSO activity (Fig. 2). The seasonal variation in SST
increases from the Bicol region northward toward Ishigaki Island (Fig. 1). In
terms of interannual variation of SST at Ishigaki Island the majority of the
highest SST measurements have been obtained during summers following
the onset of El Niño events (warm phase of ENSO), indicating a telecon-
nection linking Ishigaki SST to ENSO (Suzuki et al., 2000, 2003). Park and
Oh (2000) reported a teleconnection pattern between the East China Sea
and the equatorial Pacific: SSTs in the East China Sea show significant
coherence with SSTs in the Niño 3.4 region (Trenberth, 1997), with a phase
lag of 5–9 months. Therefore, the anomalously warm SSTs around the
Ryukyus in 1998, which resulted in severe coral bleaching in the area, may
have been related to the 1997–1998 El Niño.

3 Materials and Methods

3.1 Micronesia

Vertical cores were retrieved from Porites corals at Chuuk Atoll (81N, 1521E)
and Pohnpei Island (71N, 1581E) of the Federated States of Micronesia (Fig. 1).
A 180-cm-long coral core was extracted on March 11–12, 1999 from a Porites
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lutea colony at 3.9 m below mean sea level (MSL) in a channel of the outer reef
near the Northeast Pass, Chuuk Atoll. The core (sample ID: CHU99-01) was
sectioned into 7-mm-thick slabs, which were cleaned with deionized water.
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Figure 2: (A) Map of correlations of the smoothed Southern Oscillation
Index (SOI; negative Darwin sea-level pressure anomalies) with monthly
SST anomalies from 1950 to 1994 (contour interval, 0.1). Magnitudes of
regression coefficient (R) exceeding +0.7 and �0.7 are lightly and darkly
shaded, respectively. The map is reproduced from Trenberth and Hoar
(1996). (B) Pattern of annual precipitation anomalies associated with mod-
erate to strong El Niño events from 1900 to 1998 compared to normal years
(after Dai and Wigley, 2000). Locations of sites with coral records discussed
in text are shown by circles.
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Coral slabs were processed according to the microsampling procedures de-
scribed by Gagan et al. (1994, 1996, 1998). The microsampling interval was
400mm along the major growth axis of the core. Measurements of skeletal
oxygen isotope ratio (d18Oc) were carried out on every fourth sample over a
distance of about 17 cm downward from the growth surface of the colony,
corresponding to a time resolution of about 1 month.

A 97-cm-long coral core (sample ID: POH99-02) was recovered from a
Porites sp. colony at about 1.0 m below MSL on the coral reef about 2 km
offshore of the airport near Kolonia, Pohnpei Island, on March 15, 1999
(Inoue et al., 2004). The same procedures were employed to microsample
this core. We also obtained cores from a Porites sp. coral in Majuro Atoll’s
lagoon in 1999, but here we only discuss the result of SST monitoring at
Central Shoal, also in the lagoon.

3.2 Bicol, The Philippines

Coring was conducted on a live colony of Porites sp. coral off the northern
coast of Sawanga, a village in the city of Sorsogon, Bicol (Region V),
Philippines (131N, 1241E; Fig. 1). The coral collection site was near the
wide opening of Albay Gulf into the Philippine Sea (western Pacific). The
2.5-m-high colony was growing on a gentle outer reef slope about 6 m below
MSL. The core was extracted in March 2001 from the top of the colony
(sample ID: SWGM01-01). The microsampling interval was 400mm along
the major growth axis of the core.

3.3 Ishigaki Island, The Ryukyus

Corals were collected from three sites around Ishigaki Island (241N, 1241E;
Fig. 1). A Porites australiensis coral (sample ID: IU96-07), growing 3.6 m
below MSL in relatively well-flushed conditions, was collected on November
22, 1996 from Urasoko Bay, along the northern coast of the island (Suzuki
et al., 1999). Another small coral (Porites lutea; sample ID: IS91-06; diam-
etero20 cm) was collected from the bottom of a moat (2 m below MSL) in the
lee of the fringing reef off the southeast coast (Suzuki et al., 2001).

A Porites lutea colony forming a fused complex in a reef channel off
Yasura-zaki, in the northern part of Ishigaki Island, became discolored
during the 1998 mass bleaching event, but other Porites colonies of the fused
complex showed no change in color (Suzuki et al., 2003). Vertical coral cores
were extracted from the tops of nonbleached (sample ID: IY99-01) and
bleached (IY99-02) colonies on February 2, 1999 approximately 6 months
after the onset of bleaching in this region.

Coral specimens, except for IU96-07, were microsampled vertically along
the major growth axis according to the same method described above. On
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average, about 50 samples per annual growth increment were collected. The
microsampling of specimen IU96-07 along the major growth axis was con-
ducted using a microdrill with a 0.5-mm-diameter bit, as described by
Suzuki et al. (1999).

3.4 Pandora Reef, GBR

To further examine the response of coral calcification to the 1997–1998
mass-bleaching event, several short coral cores (6–13 cm long) were collected
from three massive Porites spp. colonies at 5 m depth on the seaward side of
Pandora Reef, GBR (181S, 1461E) on January 14, 1999 (Suzuki et al., 2003).
We analyzed two cores from the collection of drilled specimens. One core
(PAN-1-B) was extracted from the side of a large Porites lutea colony. Sample
PAN-3 was extracted from the side of a Porites cf. lutea/australiensis colony
(�1 m diameter). All coral cores were taken from the sides of the colonies to
minimize damage to the colonies from the coring. The microsampling in-
terval for PAN-1-B and PAN-3 was 200mm along the major growth axis of
the cores. Coral bleaching was reported initially at Pandora Reef in March
1998, the end of the austral summer, and 1 month after a large river-runoff
event. Thus, the date of sample collection was approximately 9 months after
the onset of mass coral bleaching.

3.5 Isotopic Measurements

Stable isotopic analysis of 70–130mg microsamples from seven coral cores
(CHU99-01, POH99-02, SWGM01-01, IY99-01, IY99-02, PAN99-01-B, and
PAN99-03) was conducted by reacting the coral aragonite with 100% H3PO4

at 901C in an automated individual-carbonate reaction device (Multiprep,
Micromass, Manchester, UK) coupled with a Micromass Optima mass spec-
trometer at the Geological Survey of Japan, National Institute of Advanced
Industrial Science and Technology (AIST) (Suzuki et al., 2000). Carbonate
samples for IS91-06 were processed by an automated individual-carbonate
reaction (Kiel) device attached to a Finnigan MAT251 mass spectrometer at
the Australian National University (Gagan et al., 1994; Suzuki et al., 2001).
Coral isotopic data are reported as per million (%) deviations (d18Oc) relative
to Vienna Peedee Belemnite (V-PDB) (Coplen, 1996). Both mass spectrome-
ters had comparable internal precision for d18O (�0.04%, 1s). In this study,
the oxygen isotope ratios in water (d18Ow) are also expressed using d
notation, but the reference material is Vienna Standard Mean Ocean Water
(V-SMOW; Coplen, 1996).
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3.6 Instrumental Records

Several time series of instrumental records of marine parameters were
compared with the coral d18Oc records. Integrated Global Ocean Services
System Products Bulletin, National Meteorological Center (IGOSS NMC)
blended ship and satellite data for each 11 square since 1982 were used for
the SST time series (Reynolds and Smith, 1994). Because some differences
between satellite-based and in situ SSTs have been reported in inshore wa-
ters (Gagan et al., 1998; Suzuki et al., 1999), we made measurements of SST
in situ at Chuuk, Pohnpei, Majuro, Bicol, and Ishigaki using TidbiT tem-
perature loggers. The temperature loggers were all attached to the coral
colonies from which we extracted skeletal cores, except for that at Majuro
Atoll. DASILVA SMD94 climatology data (da Silva et al., 1994), which depict
the seasonal and yearly variations of the surface marine atmosphere over
the global oceans at the resolution of 11 square, were also used to determine
the seasonal variation of SST at coral sites (Fig. 1). In situ SSS measure-
ments in the tropical Pacific for 1969–1995 have been compiled and gridded
by the Institut de Recherche pour le Développement (IRD) Center in
Nouméa, New Caledonia (Delcroix, 1998; http://www.ird.nc/ECOP/), so a
monthly SSS time series for the grid between 61–81N and 1451–1551E was
compared with the Chuuk coral records.

4 Results and Discussion

4.1 Coral d18O Record of SST at Ishigaki Island

The Porites australiensis colony (IU96-07) in Urasoko Bay, Ishigaki Island,
is only 300 m from a long-term daily temperature monitoring station
(Yaeyama Station, Japan Sea-Farming Association). Therefore, this coral
specimen was considered a good material for the calibration of the skeletal
d18Oc response to changes in SST (Figs. 3 and 4). Suzuki et al. (1999) pro-
posed the following skeletal d18Oc–SST relationship (Fig. 5):

d18Ocð%Þ ¼ �0:611� 0:165T ð�CÞ. (1)

The seasonal variation of SST around Ishigaki Island is about 10 1C, and the
seasonal salinity change is less than 0.5. Watanabe and Oba (1997) esti-
mated the d18Ow variation corresponding to the seasonal salinity change to
be 0.1%. Therefore, the effects of seasonal changes in SST on coral d18Oc are
far greater than the effect of seasonal changes in salinity on d18Ow; thus, the
effect of changes in d18Ow on the d18Oc–SST calibration are negligible.

Coral Records of the 1990s in the Tropical Northwest Pacific 221

http://www.ird.nc/ECOP/


18

20

22

24

26

28

30

32

Bicol

Ishigaki

Chuuk

Pohnpei Majuro

22

24

26

28

30

32

22

24

26

28

30

32

1998

1998

1999

1999

2000

2000

2001

2001

1998

2000

1999

2001

2000

2002

2001

2003

2000 2001 2002 20031997 1998 19991996

Se
aw

at
er

 T
em

pe
ra

tu
re

 (
°C

) 18

20

22

24

26

28

30

32

22

24

26

28

30

32

22

24

26

28

30

32

Se
aw

at
er

 T
em

pe
ra

tu
re

 (
°C

)

Year AD

IGOSS NMC SST
In situ

JMA-SST In situ

IGOSS NMC SST

Figure 3: Comparison of satellite-derived SST (IGOSS NMC SST; Reynolds
and Smith, 1994) and in situ SST measurements at five coral coring sites:
Ishigaki Island (Shiraho reef), Bicol (off Sorsogon City), Chuuk Atoll (East
Channel), Pohnpei Island (Main Channel), and Majuro Atoll (Central Shoal).
Gray lines and black lines with circle lines indicate weekly means of
satellite-derived and in situ SSTs, respectively. The 10-day mean record at
Ishigaki Port derived from a daily observation at 10:00 a.m. local time (black
line with open circles) is also shown (Ishigaki-jima Meteorological Observ-
atory, the Japan Meteorological Agency; JMA). At the low latidude Micro-
nesian and Philippine coral sites, in situ monitoring of SST showed no
differences with IGOSS SSTs, which indicates the accuracy of both measures.
However, at the higher latitude of Ishigaki Island, wintertime IGOSS NMC
SSTs showed relatively large differences of up to 2 1C with in situ SSTs as a
result of strong surface cooling.
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Suzuki et al. (1999) pointed out that the d18Oc/SST slope in equation (1) is
close to those reported earlier for Porites spp. corals from other regions of the
Pacific, but differs from that reported by Mitsuguchi et al. (1996) for Porites
lutea from the east coast of Ishigaki Island (Fig. 5). Suzuki et al. (1999)
suggested that the lower frequency of microsampling by Mitsuguchi et al.
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abrupt shifts in d18O profiles. Dates of coral collection are shown with ar-
rows. Details of cores (locality, coral species name, time-span of records) are
given in the text.
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(1996) is a possible cause of the difference in the d18Oc/SST slope relation-
ship between those of Mitsuguchi et al. (1996) and that of Suzuki et al.
(1999), because a lower sample frequency would be expected to result in the
attenuation of seasonal d18Oc signals.

Through multiple deployments of temperature loggers at the coral sites,
we found that IGOSS SSTs generally showed excellent agreement with in
situ temperature records in low-latitude tropical regions, including the
Micronesian islands and Bicol (Fig. 3). However, wintertime IGOSS NMC
SSTs showed a relatively large difference of up to 21C with in situ SSTs
monitored in moats (shallow lagoons) in the subtropical Shiraho and
Yasura-zaki areas of Ishigaki Island, suggesting that the utility of satellite-
based SSTs for comparison with high-latitude coral records may be limited.
On the other hand, SST records from Ishigaki Port collected by the Japan
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Figure 5: Comparison of the temperature dependence of coral d18Oc. Bold
lines indicate Porites spp. coral specimens from Ishigaki Island, southern
Ryukyus. Specimen details (sample i.d.,d18Oc-SST slope, coral species, lo-
cality, original reference) are as follows: IS91-06 (�0.140% 1C�1, P. lutea,
Shiraho, this study), IY99-01 (–0.148% 1C�1, P. lutea, Yasura-zaki, this
study), IU96-07 (�0.165% 1C�1, P. australiensis, Urasoko, Suzuki et al.,
1999), and a Porites colony (0.134% 1C�1, P. lutea, Yasura-zaki, Mitsuguchi
et al., 1996). The negative displacement of calibration lines for the Ishigaki
corals is due to the differences in mean d18Ow between Ishigaki Island and
the other regions (McConnaughey, 1989; Leder et al., 1991; Gagan et al.,
1998; Suzuki et al., 1999, 2001).
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Meteorological Agency (JMA) showed good agreement with in situ SSTs at
coral sites around Ishigaki Island. Thus, we analyzed two coral specimens
from the Shiraho and Yasura-zaki coral reefs to calibrate the d18Oc signal
against JMA SSTs collected in Ishigaki Port (Fig. 4). The skeletal d18Oc–SST
relationships obtained for colonies IS91-06 (Shoraho reef) and IY99-01
(Yasura-zaki channel) are shown by equations (2) and (3), respectively:

d18Ocð%Þ ¼ �1:444� 0:140Tð�CÞ ðR2
¼ 0:99Þ (2)

d18Ocð%Þ ¼ �0:999� 0:148T ð�CÞ ðR2
¼ 0:95Þ (3)

These slopes fall between �0.134% 1C�1 and �0.165% 1C�1 reported by
Mitsuguchi et al. (1996) and Suzuki et al. (1999), respectively. Because the
microsampling frequency of these two specimens (IS91-06 and IY99-01) was
comparable to that of IU96-07 (Suzuki et al., 1999), the smaller slopes ob-
tained for IS91-06 and IY99-01 cannot be attributed to signal attenuation
caused by a lower frequency of microsampling. This relatively large vari-
ation in the SST–d18Oc relationship found at a single island may be related
to biological and genetic factors rather than to a difference in microenvi-
ronments. Further research, including examination of interspecies differ-
ences in the genus Porites, is needed to determine the cause of the variation
(e.g., Suzuki et al., in press). Keeping these caveats relating to the
d18Oc–SST calibration in mind, we believe that the similarity between the
skeletal d18Oc profiles and the in situ SST time series (Fig. 6) indicates that
coral d18Oc records can be used as a good proxy for SST in reef settings
where the influence of SSS variation on d18Oc is negligible.

4.2 ENSO Signals in the Coral d18O Record from Micronesia

As expected from seasonal variations in SST and SSS (Fig. 1), annual pe-
riodicity was clearly observed in d18Oc profiles of the Chuuk and Pohnpei
corals (Fig. 4). We employed a coral chronology based on peak matching
between skeletal d18Oc and instrumental SST with simple linear interpo-
lation; the minima and maxima in the annual d18Oc curves were designated
as the highest and lowest annual SSTs (Fig. 7). Comparison of the monthly
d18Oc profile of Chuuk coral CHU99-01 with times series of environmental
variables (1980–1999) revealed a modal change in annual d18Oc variation
relating to the ENSO cycle (Fig. 7). During non-El Niño periods, a combi-
nation of warm SSTs and high rainfall in the wet season (June–November)
causes coral d18Oc values to decrease, whereas the cooler dry season
(December–May) produces higher d18Oc values. On the other hand, pro-
nounced increases in coral d18Oc are evident during El Niño maxima,
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corresponding to cooler SSTs and drought conditions around Chuuk Atoll.
Similar climate variations are recorded by the skeletal d18Oc of corals living
within the WPWP, particularly those from the north coast of Papua New
Guinea (Tudhope et al., 1995, 2001; McGregor and Gagan, 2004), North
Sulawesi, Indonesia (Moore et al., 1997; Hughen et al., 1999), and Fiji
(Le Bec et al., 2000). In detail, the amplitude of the d18Oc anomaly corre-
sponds well to El Niño intensity, as indicated by SOI values; the unusually
strong El Niño event of 1982–1983, which had widespread ecological and
economic impact, shows the largest anomaly in the d18Oc profile (Fig. 7).

Coral d18Oc values of CHU99-01 showed moderate correlation with both
SST and SSS, reflecting that SST and SSS in the region fluctuate with
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Figure 6: Time-series of instrumental SSTs (gray line) and estimated SST
based on coral d18Oc records (black line with open circles) from Ishigaki
Island, southern Japan. A 10-day mean SST record at Ishigaki Port con-
ducted by the JMA Ishigaki-jima Meteorological Observatory is shown for
comparison with the coral d18Oc record. SSTs were estimated using equa-
tions (1), (2), and (3) for IU96-07, IS91-06, and IY99-01, respectively. The
slope of the d18Oc–SST relationship is shown in each profile. The coral time-
series is plotted using linear interpolation between the minima and the
maxima of the coral d18Oc estimates of SST.
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comparable amplitude with respect to the coral d18Oc signal (Fig. 8). Al-
though when all d18Oc data were plotted against SST, the slope of the re-
gression line was different from that of the temperature dependency
relationship for coral aragonite (0.13%–0.18% 1C�1; Fig. 8); the discrepancy
can be attributed to changes of d18OW in seawater during the ENSO cycle.
Coral d18Oc values corresponding to El Niño events showed a shift toward
higher d18O values owing to 18O enrichment of the seawater.
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Figure 7: Comparison of skeletal d18Oc of the Chuuk coral and instru-
mental records of climate for the period between 1980–99. Rainfall was ob-
served at a NOAA station (http://lumahai.soest.hawaii.edu/Enso/data/ftp/
STATION-RAIN2/chuuk-sum.txt), and the SOI is a standardized sea-level
pressure difference (http://ingrid.ldgo.columbia.edu/SOURCES/.Indices/.soi/
.standardized/). See text for other data sources. No filter was applied to
isotope data. Double arrows indicate the distinct increase in d18Oc during El
Niño years, while single arrows indicate compression of d18Oc curves in the
year following the El Niño peak. Note that d18Oc and SSS is reverse-plotted
so that El Niño-related anomalies vary in the same direction as the other
parameters. Time-series of monthly rainfall and SOI are smoothed by a
3-month and 5-month moving average, respectively. El Niño events are
shown by shading according to the classification by the NCEP/CPC (http:
//www.cpc.ncep.noaa.gov/products/analysis_monitoring/ensostuff/ensoyears.
html).

Coral Records of the 1990s in the Tropical Northwest Pacific 227

http://lumahai.soest.hawaii.edu/Enso/data/ftp/STATION-RAIN2/chuuk-sum.txt
http://lumahai.soest.hawaii.edu/Enso/data/ftp/STATION-RAIN2/chuuk-sum.txt
http://ingrid.ldgo.columbia.edu/SOURCES/.Indices/.soi/.standardized/
http://ingrid.ldgo.columbia.edu/SOURCES/.Indices/.soi/.standardized/
http://www.cpc.ncep.noaa.gov/products/analysis_monitoring/ensostuff/ensoyears.html
http://www.cpc.ncep.noaa.gov/products/analysis_monitoring/ensostuff/ensoyears.html
http://www.cpc.ncep.noaa.gov/products/analysis_monitoring/ensostuff/ensoyears.html


The intra-annual d18Oc fluctuations were well recorded by high-resolution
microsampling, so the temporal evolution of each El Niño event can be dis-
cussed using coral records. El Niño events are usually characterized by initial
cooling of SSTs in the tropical western Pacific, followed by lower than average
rainfall. A distinct positive shift in d18Oc in the year of a strong El Niño event
can be attributed to this initial cooling. The skeletal d18Oc values for the year
following a strong El Niño event do not vary much, suggesting the persist-
ence of cool and/or high-salinity conditions for almost a year (Fig. 7).
Although the lower SST can be attributed primarily to the eastward migra-
tion of the WPWP during the El Niño event, the shallowing of the therm-
ocline brought about by relaxation of the trade winds across the Pacific basin
is also important for surface cooling. High-salinity conditions in the year
following a strong El Niño event also appear to be caused by the shallowing of
the thermocline, along with the direct effect of the decrease in rainfall locally.
Because rainfall and SST data quickly recovered to normal levels just after
the El Niño peak, salt advection by the North Equatorial Counter Current
and/or subsurface mixing due to transformation of a ‘‘barrier layer’’ (Lukas
and Lindstrom, 1991) seems to account for the positive d18Oc anomalies in the
years following the El Niño peak.

The combination of a positive shift in d18Oc followed by compression of the
d18Oc curve, signals an El Niño event throughout the region because these
features were also seen in the Pohnpei Island coral d18Oc record (Fig. 4). The
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Figure 8: Crossplots of coral d18Oc and monthly observations of SSS (A)
and SST (B) at Chuuk Atoll. Monthly coral d18Oc time-series were resampled
using AnalySeries software (Paillard et al., 1996). Months categorized as
reflecting strong El Niño conditions by the NCEP/CPC are plotted as closed
circles. SSS ¼ 41.7+1.30d18Oc, R2

¼ 0.35, Po0.01; SST ¼ 16.9�2.11 d18Oc,
R2
¼ 0.45, Po0.01. The gray bar in panel B represents d18Oc–SST slope for

coral aragonite (�0.13% to �0.18% 1C�1).
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coral d18Oc record also shows a potential for quantitative examination of the
individual characteristics and temporal evolution of each past El Niño event.
Such an examination would improve our understanding of the ENSO cycle,
although additional measurements of the skeletal Sr/Ca ratio, an independ-
ent proxy for SST, are desirable for a more precise reconstruction. Further
d18Oc measurements on longer cores would allow us to explore changes in the
frequency of El Niño events over the past several centuries and the effect of
global warming on the ENSO cycle.

4.3 Skeletal d18O Records of Coral Bleaching

Extensive coral bleaching was witnessed in the GBR, Australia, during
the austral summer of 1997–1998 and appeared later in the Northern
Hemisphere (Wilkinson, 1998). For the first time on record, corals around
the Ryukyu Islands, Japan, exhibited severe bleaching which resulted in
extensive coral mortality (Fujioka, 1999). The most likely cause of the high-
SST event around the Ryukyus in the summer of 1998 was the lack of
typhoons in the Ryukyu Islands region (Fujioka, 1999). Low-pressure sys-
tems, including tropical typhoons, bring high cloudiness and stimulate ver-
tical mixing of the surface water, which may result in an SST decrease. In
the absence of typhoons during the summer of 1998, SST continued to rise
because of solar heating during the same year and resulted in an extraor-
dinarily high SST around Ishigaki Island (daily mean SST of 31.5 1C; Fig. 4)
which caused the mass bleaching event.

While there has been remarkable progress in understanding the pho-
tophysiological processes of coral bleaching (Lesser, 1996; Brown, 1997), less
is known about the effect of bleaching on coral skeletogenesis. Moreover, the
influence of bleaching on the geochemical composition (d18O, d13C, Sr/Ca) of
coral skeletons has been controversial. Some studies reported clear changes
associated with bleaching events, while in others changes were less evident
(Porter et al., 1989; Leder et al., 1991; Alison et al., 1996). However, very
fine-resolution sampling is required to detect isotopic changes in the coral
skeletons corresponding to brief bleaching events. Recently, Suzuki et al.
(2003) introduced a high-resolution skeletal isotope microprofiling tech-
nique for examining the skeletal records of coral bleaching (Fig. 9). When
this technique was used, bleached corals from Pandora Reef, GBR, and
Ishigaki Island, Japan, showed a dramatic decrease in skeletogenesis that
was coincident with the worldwide mass coral-bleaching event of 1997–1998.
These results indicate that isotopic microprofiling may be the key to iden-
tifying gaps in coral growth that are diagnostic of past bleaching events.
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Figure 9: Skeletal d18Oc records of Porites spp. corals from Ishigaki Island
and Pandora Reef, plotted against distance from the surface of the colonies
along the microsampling transects. Regional weekly SSTs (IGOSS NMC
SSTs) are shown in the top-most panels for comparison with the shape of the
coral annual d18Oc cycles. The year shown above the d18Oc minimum indi-
cates boreal summer for the Ishigaki corals, and austral winter for the
Pandora Reef corals. The intervals of growth discontinuity are shown by
shaded vertical bars. Data are replotted from Suzuki et al. (2003).
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4.4 Recent Decrease in Coral d18O : An Indication of Global
Warming?

Fig. 10 shows coral d18Oc time series for the last two decades of the twen-
tieth century for our coral sites in the tropical northwest Pacific. Peak
matching between d18Oc and instrumental SST with simple interpolation
was employed to construct an age model of each coral record. In the
Japanese and Philippine coral records, significant decreasing trends in
d18Oc (�0.24% to �0.42%/10 yr) are evident, even over the relatively short
period between 1980 and 2000, which may suggest an SST rise and/or sur-
face-water freshening related to global warming. Any decreasing trend in
d18Oc recorded by the Micronesian corals may have been masked by the
recent large number of ENSO events, which caused local cooling and
drought (d18Oc increase) during the latter part of the period. Warming or
freshening trends have been found generally in coral d18Oc records from
several sites in the tropical Pacific and Indian oceans (Gagan et al., 2000).

In Fig. 10, coral d18Oc curves are also matched to instrumental SSTs
based on the d18Oc–SST relation obtained for each coral site. We have shown
that coral records from Micronesia, and possibly the Philippines, are influ-
enced by seawater d18Ow variation. Therefore, the coral-based SSTs from
these sites should be interpreted as ‘‘apparent’’ SSTs (Gagan et al., 2000)
because the influence of seawater d18Ow variations is not taken into account.
It is also assumed that all changes in d18Oc can be attributed to temperature
variation, but salinity changes also influence d18Oc values. Nevertheless, the
general trends in instrumental and coral-derived ‘‘apparent’’ SSTs for each
coral site are in good agreement, suggesting that coral records have poten-
tial as an SST proxy when discussing long-term trends. High-latitude sites,
such as Ishigaki Island, showed a more rapidly increasing SST trend during
the last two decades of the twentieth century. Although the long-term in-
strumental SST data available since 1914 for Ishigaki Port showed a distinct
warming trend of 0.12 1C/10 yr throughout the monitoring period (Suzuki
et al., 2003), the observed SST increase during the last two decades (0.57 1

C/10 yr) is large compared with the earlier part of the century.
Comparison of ‘‘apparent’’ and instrumental SSTs is also a useful tool for

identifying El Niño-related drought events in the western Pacific. ‘‘Appar-
ent’’ SSTs during the year 1998 for the Philippine and Micronesian sites
were low relative to the actual SSTs (Fig. 10). As discussed previously, the
deviation of the Chuuk Atoll d18Oc curve from the instrumental SST curve in
1998 can be attributed to increased seawater d18Ow (higher salinity), cor-
responding to the El Niño-induced drought (Fig. 7). The Philippines expe-
rience more severe drought conditions compared with the Micronesian
islands, as seen in the pattern of annual precipitation anomalies associated
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Figure 10: Comparison of instrumental SST (gray curves) and Porites
coral d18Oc values (curves with circles) from Ishigaki Island, Japan; Bicol,
Philippines; and Chuuk Atoll and Pohnpei Island, Micronesia, in the north-
western Pacific. Regional weekly SSTs (IGOSS NMC SSTs) are shown for
Bicol, Chuuk, and Pohnpe while the 10-day mean SST record of the JMA
Ishigaki-jima Meteorological Observatory is shown for Ishigaki Island.
Coral d18Oc curves are related to ‘‘apparent’’ SSTs based on the d18Oc–SST
relations: Ishigaki (IU96-07), SST ¼ �1.4�5.57 d18Oc; Bicol (SWGM01-01),
SST ¼ 0.57�5.58 d18Oc; Chuuk (CHU99-01), SST ¼ 8.1�3.60 d18Oc; and
Pohnpei (POH99-02), SST ¼ 10.3�3.43 d18Oc. ‘‘Apparent’’ SSTs derived
from the coral d18Oc values include offsets due to changes in seawater
d18Ow in each region. The gray and solid lines show simple regressions for
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with strong El Niño events (Fig. 2B), and, indeed, coral records from the
Philippines showed the largest deviation among the three sites examined.

5 Summary

High-resolution d18Oc records from annually banded modern Porites spp.
corals collected in the tropical northwestern Pacific were used successfully
to monitor recent marine climatic events, including the strong El Niño in
1997–1998, severe coral bleaching, and a long-term rise in SST. In the rel-
atively high-latitude region of the western Pacific (Ishigaki Island, Japan),
coral d18Oc records are a good proxy for SST because of the limited influence
from d18O-depleted rainfall on the d18Ow of seawater. In contrast, temporal
variations in coral d18Oc from the Micronesian islands appeared to be
affected by both SST and SSS variations. The temporal pattern of a distinct
increase in d18Oc followed by compression of the d18Oc curve in Micronesian
corals is a useful signal for identifying past El Niño events in long coral
records from the region. High-resolution isotope microprofiling of bleached
corals from Ishigaki Island as well as from Pandora Reef, GBR, allowed us to
find a growth gap caused by anomalously warm SSTs related to the
1997–1998 El Niño event. Such a gap in skeletogenesis can be used as an
important indicator for reconstructing past bleaching events. At Ishigaki
Island and on the Pacific side of the Philippine Islands, a decreasing trend in
d18Oc was found, even over the relatively short period between 1980 and
2000, which may indicate an SST rise or surface-water freshening related to
global warming. Any recent global warming/freshening trend recorded by
the Micronesian corals may have been masked by the influence of the recent
large number of ENSO events, which cause local cooling and drought toward
the end of the record.

Our results are intriguing enough to warrant further data acquisition and
attempts at quantitative time-series analysis. This study also demonstrated

instrumental and coral-derived ‘‘apparent’’ SSTs, respectively. All isotope
data were used for the regression analysis of coral records except for the
Ishigaki coral. Only seasonal extremes were used for the regression analysis
of the Ishigaki coral because the difference of skeletal extension rate be-
tween summer and winter had positive offset on the regression line. Mag-
nitudes of the warming trends between 1981 and 2000 calculated from
instrumental SSTs and coral ‘‘apparent’’ SSTs are also shown (the latter in
parentheses). Arrows mark times of severe El Niño-related drought in the
region. Gray blocks at the bottom represent the periods of El Niño events
according to the classification by the NCEP/CPC (http://www.cpc.
ncep.noaa.gov/products/analysis_monitoring/ensostuff/ensoyears.html).
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that high-resolution coral d18Oc records have potential for facilitating studies
on the climate of the recent and distant past, including the middle Holocene
and earlier interglacial periods, which may provide partial analogs for the
future greenhouse Earth.
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Abstract

The tropical oceans drive climatic phenomena such as the El Niño-southern oscillation

(ENSO) and the Asian–Australian monsoon, which have global scale impacts. In order to un-

derstand future climatic developments, it is essential to understand how the tropical climate

has developed in the past, on both short and longer timescales. However, good instrumental

records are limited to the last few decades. The oxygen isotopic (d18O) composition and stron-

tium/calcium (Sr/Ca) ratio of massive corals have been widely used as proxies for past changes

in sea surface temperature (SST) of the tropical and subtropical oceans, because the geochem-

istry of the skeleton is believed to vary as a function of several environmental parameters (such

as seawater temperature, salinity, light, y). However, recent microanalytical studies have

revealed large amplitude variations in Sr/Ca and oxygen isotopic composition in coral skeletons;

variations that cannot be ascribed to changes in SST or in salinity. Such micro- and nanometer

scale studies of geochemical variations in coral skeletons are still few and somewhat scattered

�Corresponding author.
E-mail address: nabe@mail.sci.hokudai.ac.jp (T. Watanabe).

Elsevier Oceanography Series 73
Edited by H. Kawahata and Y. Awaya
ISBN: 0-444-52948-9

239 r Elsevier B.V.
All rights reserved.

mailto:nabe@mail.sci.hokudai.ac.jp


in terms of the species studied and the problems addressed. But collectively they show the great

potential for determining chemical variations at length scales of direct relevance to the bio-

mineralization process. For example, it is now possible to measure geochemical variations

within the two basic, micrometer-sized building blocks of the coral skeleton: Early minerali-

zation zones (EMZ) and aragonite fibres. Such micro- and nanometer scale observations, in

combination with controlled laboratory culturing of corals, hold the promise of yielding impor-

tant new insights into the various biomineralization processes that may affect the chemical and

isotopic composition of the skeletons. One aim of these efforts is to better understand the

elemental and isotopic fractionation mechanisms in order to improve the conversion of the

geochemical variability into environmental changes.

Keywords: corals; Oxygen isotope; Strontium/Calcium ratio; palaeothermometer;
biominelarization

1 Introduction

Accurate estimation of human impacts on climate variability is an impor-
tant subject, not only for scientists and environmentalists, but also for law-
makers, politicians, and for society in general. In order to predict the effects
of anthropogenic activities on the future climate, it is necessary to document
how the climate has fluctuated in the past. Instrumental records can extend
up to about 150 years (Kaplan et al., 1998), but have limited geographical
distribution. Satellite-based temperature surveys of the oceans cover large
regions, but high-quality data are limited to the last two decades. On the
other hand, the global climate of the last few centuries is known to have
been variable and complex, spatially as well as temporally (e.g., Jones and
Mann, 2004).

Massive, hermatypic corals are present today in the tropical and sub-
tropical oceans and can be found in a significant fraction of the geologic
record dates back to the middle Triassic. These corals potentially provide
high-resolution records of climate variability in the tropical oceans that,
through ocean-atmosphere interactions, greatly affect the Earth’s climate
system (Dunbar and Cole, 1999). Paleo-environmental records based on
modern corals can go back in time as far as 300–400 years (Quinn et al.,
1998; Cobb et al., 2004; Linsley et al., 2004) and the annual density banding
of coral skeletons provides an accurate chronology (Knutson et al., 1972;
Barnes and Lough, 1993). Thus, corals offer many advantages for climate
reconstructions, provided that precise proxies for environmental changes,
including sea surface temperature (SST), can be developed. In this paper, we
discuss, briefly, recent advances in the use of corals as proxies for past SST
variations with special attention to progress made in understanding the
effects of biomineralization processes on the chemical and isotopic compo-
sition of the coral skeletons.
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2 Development and Problems Associated with
Coral Paleo-Temperature Proxies

The oxygen isotopic (d18O) and strontium/calcium (Sr/Ca) ratios of massive
coral skeletons have been widely used as proxies for past changes in SST of
the tropical and subtropical oceans, because both the geochemical param-
eters are believed to depend on the temperature of the ambient seawater.

The temperature dependency of the oxygen isotopic composition in
inorganically precipitated carbonates was established by Urey (1947), but it
was realized early on that the d18O of biogenic carbonates reflects a com-
bination of environmental parameters and biological processes, so-called
‘‘vital effects’’ (Urey et al., 1951; Epstein et al., 1953; McConnaughey, 1989).
In spite of a biologically induced isotopic disequilibrium with respect to
seawater, corals in general provide the best d18O paleo-records of ambient
SST variations in waters with near constant d18O, i.e., waters in hydrologic
balance (e.g., Leder et al., 1996; Wellington et al., 1996). (Alternatively,
corals can provide a record of changes in hydrologic balance in regions
where the temperature is nearly constant; e.g., Cole and Fairbanks, 1990).
However, seasonal variations in d18O of the seawater on the reef are often
relatively large (Leder et al., 1996), and in some cases, the effect of seawater
d18O variations on the d18O vs. SST calibration can be quantified (McCulloch
et al., 1994; Juillet-Leclerc and Schmidt, 2001). Modern approaches to the
construction of d18O paleo-environmental records typically involve coring of
living coral heads and calibration to (5–10 year) instrumental temperature
records obtained in close vicinity to the coral (Stephans et al., 2004).

Temperature dependence of the Sr/Ca ratio in aragonite was demonstrated
by Smith et al. (1979). However, initially the analytical errors associated with
the analyses of coral Sr/Ca ratios were large (721C, if converted to temper-
ature), limiting the use of the coral Sr/Ca temperature-proxy to localities
where temperature variations are significantly larger. Later, Beck et al. (1992)
developed isotope dilution and thermal ionization mass spectrometry (TIMS)
techniques that allowed the measurement of Sr/Ca ratio with an analytical
error corresponding to less than 70.51C for reconstructed SST. In contrast to
the isotopic composition of seawater, the Sr/Ca ratio of seawater has been
assumed to be essentially constant because of the long residence times of
strontium in the ocean (5.1�106 yr; Broecker and Peng, 1982). However, more
recent observations of the ocean Sr/Ca ratio from different depths and locali-
ties raise some doubt about the general validity of this assumption (de Villiers
et al., 1994; de Villiers, 1999).

McCulloch et al. (1994) assessed d18O fluctuations in seawater by remov-
ing the temperature dependency from the d18O signal using the calibrated
Sr/Ca vs. SST relationship. This method was extended to reconstructions of
past sea surface salinity (SSS) (Gagan et al., 1998; Ren et al., 2002) assuming
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a linear relationship between the d18O of seawater, SSS, and SST. With the
development of automated methods for rapid sampling and analyses of car-
bonate powders, different methods for reconstruction of SST have been applied
to a century-long coral records covering most of the tropics (Fig. 1), as well as
to climatically important periods in the more distant past, such as the last
glacial maximum (e.g., Guilderson et al., 1994), Little Ice Age (Watanabe et al.,
2001), and last interglacial warm period (Tudhope et al., 2001). At the same
time, it has become clear that coral-based paleo-climatic reconstructions suffer
from problems that are not only related to the analytical challenge of obtaining
high-quality d18O and Sr/Ca data. Fig. 2 shows the large discrepancy among
reported modern calibrations both for coral d18O (Fig. 2a) and Sr/Ca (Fig. 2b).
These discrepancies suggest that simple application of different coral species,
localities, and methods can lead to large discrepancies among different recon-
structions of past SST (Marshall and McCulloch, 2002; Watanabe et al., 2002).

Figure 1: Coral records of d18O and Sr/Ca ratio from modern corals. Thick
lines represent 5 years running averages. Data are available at the World
Data Center for Paleoclimatology (http://www.ngdc.noaa.gov/paleo/corals.
html).
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3 Biological Sources of Discrepancies in Modern
Calibrations

Although biological or ‘‘vital’’ effects are broadly recognized as a source of
uncertainty or discrepancy in coral paleo-climatic records relatively little at-
tention has been given to the study of how corals form their skeletons and
how, in detail, these biologically induced processes can affect the geochemical
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Figure 2: Diagrams showing the disagreement between different calibra-
tions of SST vs. (a) the oxygen isotopic composition in Porites lutea and (b)
the Sr/Ca ratio in coral Porites. Each calibration has been calculated from
samples collected along main growth axis, by comparing the geochemical
measurement with the SST variability.
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composition of the skeletons. For example, the isotopic effect of seawater
temperature on skeletal d18O has been tested in laboratory by using cultures
of corals (Reynaud-Vaganay et al, 1999). Whereas all the nubbins were cul-
tured in the same conditions, in the same aquarium, and originated from one
parent colony, their isotopic measurements could be scattered over 1% for an
identical temperature (Fig. 3). Although oxygen isotopic ratios as well as Sr/
Ca ratios often are in disequilibrium with respect to their ambient seawater,
the observed elemental and isotopic fractionations are usually treated in the
context of thermodynamic equilibrium, modified by kinetic effects associated
with the precipitation of the skeleton (McConnaughey, 1989; Gagan et al.,
1998; Ren et al., 2002; Adkins et al., 2003). Among geochemists, the wide-
spread idea is that the skeleton is largely produced by simple physiochemical
precipitation of calcium carbonate concentrated from seawater. However,
from recent studies of coral skeletons, conducted at length scales of relevance
to the biomineralization processes, it has become clear that this idea is too
simplistic to be right. In the following we briefly discuss recent progress in the
study of biologically driven isotopic and trace element variations at the milli-
meter- to nanometer-length scales. In general, it seems true that we need to
understand the coral biomineralization process at the cellular scale, the fun-
damental-length scale of life, before we can reliably use these structures to
draw conclusions about environmental changes on a global scale.

3.1 Geochemical Heterogeneity at the Millimeter-Length Scale

It is well known that even within the same locality, where water chemistry
is essentially the same, the use of different coral species can lead to different
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Figure 3: Diagram showing discrepancy between calibrations of SST vs.
skeletal d18O for five nubbins coming from the same parent colony of
Acropora sp. cultured by the method of Reynaud-Vaganay et al. (1999). Note
that these five nubbins were growing in aquarium under constant condition,
except temperature.
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SST calibrations, presumably due to biological differences (e.g., Gagan et al.,
2000; Marshall and McCulloch, 2002; Watanabe et al., 2002, 2003). Even
among the same coral species from the same location, SST calibrations can
differ among colonies (Allison, 1996; Wellington et al., 1996; Linsley et al.,
1999; Watanabe et al., 2003). Some of these discrepancies can be explained
by different sampling resolution, variations in skeletal growth-rate, and
small environmental heterogeneities in the reef environment. However,
millimeter-scale observations of geochemical heterogeneity within different
skeletal elements of the same corallite in a given colony present an addi-
tional complication. The aragonitic skeletons of hermatypic corals are com-
prised of thousands of individual corallites, each with a more or less well
defined theca-wall, columellae, septa, and dissepiments (Fig. 4). The theca-
wall and columella grow in the vertical direction, the direction for extension.
Septa grow vertically and horizontally at the same time, and dissepiments
define horizontal layers within each corallite, like floors in a tall building
(Barnes and Lough, 1993; Barnes et al., 1995). Differences in growth-
direction and growth-rate of each skeletal element could affect the recon-
structed climate signals. Land et al. (1975) and Watanabe et al. (2002, 2003)
examined the isotopic heterogeneities among different skeletal components
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Figure 4: (a) Morphology of coral skeletal structures and (b) millimetre
scale heterogeneity in isotopic compositions for different skeletal elements
in Diploastrea and Montastrea (Watanabe et al., 2002, 2003).
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using coral species with relatively large corallites and wide intercorallite
spacing. The results suggested that there is a rather large difference in the
stable isotope chemistry between vertically and horizontally growing skeletal
elements. Vertically growing elements, such as the theca-wall, yield a certain
stable isotopic signature, but the inclusion of horizontally growing skeletal
elements change this signature significantly (Fig. 4). The coral species most
commonly used for paleo-climatic reconstructions is Porites, which has rel-
atively small corallites (0.5–1 mm) for which it is difficult to sample sepa-
rately each type of skeletal element using conventional sampling techniques
(e.g., dentist drill). On the other hand, a smaller corallite size allows better,
more representative average compositions to be obtained. Still, it seems es-
sential to understand the cause of the variable stable isotope signatures in
different skeletal components at the millimeter-length scale.

Since late 1990s, microanalytical methods such as Laser ICP–MS and
Secondary Ion Mass Spectrometry (SIMS) have been applied more or less
systematically for measuring trace element of coral skeletons (Allison, 1996;
Hart and Cohen, 1996; Sinclair et al., 1998; Fallon et al., 1999). However,
the most striking result of these analyses was the large data scatter, often
with amplitudes that were impossible to interpret as the result of changes in
environmental conditions.

Two dramatic examples of mm-scale geochemical variations are illus-
trated in Fig. 5, which show conventional ion microprobe analyses of d18O
and Sr/Ca ratios in wall segments and septa of the Porites skeleton. Both
data sets show oscillating variations with amplitudes that are impossible to
explain by fluctuations in SST or changes in any other local environmental
parameter (Meibom et al., 2003; Rollion-Bard et al., 2003). Indeed, if con-
verted to temperature, the d18O and Sr/Ca variations displayed in Fig. 5
would correspond to changes of more than 151C, which is three times more
than the seasonal SST variations at the sites where these corals lived.
Similar, but less distinctly oscillating Sr/Ca variations were reported by
recent works (e.g., Allison and Finch, 2004; Cohen and Sohn, 2004). The
negative isotopic values can only be explained by supposing that coral skel-
eton is partially deposited according to a kinetic process. The boron isotopic
measurements at micrometer scale in the same spots than oxygen analyses
(Rollion-Bard et al., 2003) indicate that a variation of one pH unit in good
agreement with direct microelectrodes measurements (Al-Horani et al.,
2003). In addition, the d18O and Sr/Ca oscillations are characterized by an
approximately monthly wavelength, which could be caused by biological
processes changing in response to the lunar cycle (Meibom et al, 2003). We
suggest that the pH controls the d18O of the growing carbonate skeleton
through the relative fractions of dissolved carbonate species and through
the kinetics of their isotope equilibration with water via hydration and hy-
droxylation.
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3.2 Geochemical Heterogeneities at the Ultra-Structural
Level

Fig. 4 illustrates the general morphology of the coral skeleton at the scale of
one millimeter. However, in all coral skeletons there is an additional level of
structure at the micrometer and nanometer-length scales, which is directly
related to the mechanism of skeletal formation – we refer to this as the coral
‘‘ultrastructure’’. Fig. 6 illustrates the ultrastructure of a Porites skeleton,
but we emphasize that the ultrastructure of all coral skeletons, although
species dependent, share the same components and overall architecture.
The coral skeleton consists of EMZs, which are small aggregations of nano-
phase calcium carbonate, embedded in sulfated polysaccharides and other
organic molecules. EMZs were previously called as centers of calcification
(COC), but ‘‘EMZ’’ has been proposed as better description in the context of
the overall growth process (Cuif et al., 2003; Cuif and Dauphin, 2005). EMZs
are arranged by the coral in a pattern that reflects the overall morphology of
the skeleton. Indeed, one could say that it is the organization of the EMZ
(which is completely controlled by the coral) that defines the overall mor-
phology of the skeleton. The EMZs are overgrown by subsequent layers of

Figure 5: Micro-scale heterogeneity observed in coral Porites of d18O (a;
Rollion-Bard et al., 2003) and of Sr/Ca (b; Meibom et al., 2003) measured by
ion microprobe.
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fibrous aragonite that serve to give the skeleton bulk mass and mechanical
strength (Fig. 4). Of direct relevance to the utilization of coral skeletons to
paleo-climatic reconstructions is the discovery of dramatic geochemical var-
iations at the ultrastructure level.

Using conventional ion microprobe, Cohen et al. (2001) analyzed the Sr/
Ca ratio in both EMZ and fibres of Porites and found that the Sr/Ca vs. SST
relationship differed dramatically for EMZ and aragonite fibres. Cohen et al.
(2001) concluded that the Sr/Ca ratio of the aragonite fibres was strongly
influenced by biological activity of symbiotic algae during daytime precip-
itation. In another study, Cohen et al. (2002) compared the Sr/Ca vs. SST
relationship between symbiotic and asymbiotic coral colonies of Astrangia
poculata and found again the Sr/Ca ratio in symbiotic corals to be strongly
perturbed from the thermodynamic equilibrium values.

Cuif and Dauphin (1998) observed chemical heterogeneity (strontium,
magnesium, and sulfur) between fibres and EMZ in the septa of 15 different
coral species. Using synchrotron-based XANES analyses, Cuif et al. (2003)
further established that sulfur in the coral skeleton is almost exclusively
associated with sulfated polysaccharides, which are highly concentrated in
the EMZ, but also present in the fibrous aragonite part of the skeleton,
where they display a layered distribution corresponding to the layered or-
ganization of the fibres (Fig. 6).

These findings were subsequently extended to other trace elements by
Meibom et al. (2004), who reported a distinct zonation of Mg in the coral
Pavona clavus, again corresponding closely to the layered structure of arag-
onite fibres (Fig. 7). Meibom et al. (2004) furthermore found the EMZ to be
greatly enriched in Mg. Strontium, on the other hand did not show similar
banded distributions and it seems that different trace elements have differ-
ent (metabolic) pathways from the seawater to the coral skeleton.

Figure 6: Microstructure of coral skeleton of Porites showing different sizes
and shapes of the early mineralization zones (EMZ) and fibres. (a) Calice
morphology, (b) Radiating fibres, (c) The stepping growth mode of fibres: each
biomineralization growth layer is the elemental environment recording unit.
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4 Conclusions

Taken together, the observations described in this brief overview suggest that
the distribution of trace elements and stable isotopic composition of her-
matypic coral skeletons are strongly affected, if not completely controlled, by
biological processes. From a paleo-climatic point of view, the main challenge
for the future is to establish the degree to which the SST affects these

a

b

Figure 7: The distribution of Mg in different parts of the Pavona clavus
skeleton from Meibom et al. (2004). Dark blue colors correspond to relatively
low Mg concentrations; green, yellow and red colors correspond to increas-
ingly high Mg concentrations. EMZ have the highest concentration of Mg.
Arrow indicates direction of growth. Scale bars are 10mm (For colour ver-
sion, see Colour Plate Section).
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biological processes; i.e., how much of the trace element and stable isotope
variation can be ascribed to seasonal and interannual SST oscillations and
how much other environmental and biological factors affect the skeletal
chemistry (Reynaud-Vaganay et al., 1999, 2001; Ferrier-Pagès et al., 2002;
Reynaud et al., 2002, 2004). There are strong indications that the degree of
biological control and the sensitivity of the coral to variations in SST is spe-
cies-dependent (Weber and Woodhead, 1972; Weber, 1973). Understanding
the coral biomineralization processes in detail has become more important
than ever. At the moment, relevant experimental efforts are still somewhat
scattered and limited in scope, but the development of new microanalytical
techniques, such as the NanoSIMS, enable to precisely measure the recording
process in the stepping growth layers and have opened up the field of bio-
mineralization to a new generation of studies that may hold the key to more
precise coral-based records of past environmental parameters.
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Abstract

Because of the diversity of the ecosystem in the earth, modeling of such an ecosystem

cannot avoid arguing which ecosystem element should be included or excluded. We demon-

strated that views of thermodynamics ensuring the flow of solar energy between nonliving

things and living things in the oceanic ecosystem as an alternative approach in the modeling

of the earth system with life. We showed that marine phytoplankton influence the global

pattern of the sea surface temperature, seawater density, and associated flows by heat re-

lease to the upper ocean environment. The effect of heat release by phytoplankton on pen-

etrative radiation not only influences directly the vertical structure of seawater density, but

also dynamically interacts with surrounding ocean fluids in the equatorial Pacific. Numerical

models experiments suggest an active role of phytoplankton in the equatorial ocean dynamics

by modifying density and thus providing conditions favorable to phytoplankton growth, i.e.,

the potential positive feedback mechanism between the ecosystem and the ocean dynamics. A

mechanistic model proposed here is simple enough to identify the cause-and-effect relation-

ship of the phytoplankton’s active role in the earth system.

Keywords: phytoplankton, oceanic radiative transfer, bio-climate feedbacks

1 Introduction

Earth environmental problems involve feedbacks between the ecosystem
and the climate. Concerning global warming, one may assume that potential
feedbacks between marine ecosystem and physical processes will increase or
decrease the concentration of carbon dioxide in the atmosphere than the
sum of the component systems themselves. Because of the complexity of the
earth environmental problems in terms of scales in time and space as well as
its interconnectivity between multidisciplines in contemporary sciences,
providing answers to these questions is an enormous challenge.

The atmosphere and ocean continuously exchange carbon dioxide across
sea surface. Within the top hundred meters of seawater, the carbon dioxide
is taken up by phytoplankton quite rapidly (Kawabata et al., 2003; Otsuki et
al., 2003). Absorption in the lower level of the ocean takes longer because the
mixing of the upper ocean water with water at lower level requires up to
several hundred years or so. It takes over thousands of years for the deep
ocean to complete the same process.

Recent measurements of underwater solar energy absorption spectrum
in the northwestern Pacific (see Fig. 3 of Sasaki et al., 2001) showed that
living phytoplankton absorbs more light than detritus or other material
without life activity do. Siegel and Dickey (1987) demonstrate that the at-
tenuation of visible energy and photosynthetically available radiation (PAR)
(Morel, 1978) are primarily functions of chlorophyll pigments. Iturriaga and
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Siegel (1989) reported that phytoplankton abundance accounted for 50–70%
of the particulate absorption at 440 nm.

Lewis et al. (1990) suggested that variations in the amount of irradiance
penetrating through the mixed layer are due to changes in phytoplankton
abundance, especially in the Pacific warm pool region. Using TOGA-COARE
intensive observation data in January 1992, Siegel et al. (1995) showed that a
nearly tripling of mixed-layer phytoplankton following a sustained westerly
wind burst resulted in a reduction in the penetrative flux of nearly 6 W m–2 in
the net solar radiation at 30 m and biologically mediated increase in the
mixed-layer radiant heating rate of 0.13 K during the observation period.

By analyzing a three-dimensional numerical model experiment results of
Ocean isoPYcnal coordinate (OPYC) general circulation model (Oberhuber,
1993), Nakamoto et al. (2001) showed that surface chlorophyll pigments
in the equatorial Pacific not only influence vertical penetration of solar ra-
diation, but also modify geostrophic flows in the Pacific basin scales. They
used an empirical relation for a heating rate as a function of depth and of
phytoplankton concentration retrieved from the satellite data (Morel and
Antoine, 1994).

In their numerical model experiments, the biologically generated geo-
strophic flows converge toward the equatorial undercurrent (EUC) in the
western equatorial Pacific. The water masses converged into the EUC in the
west are transported eastward. That induces an upwelling in the eastern
equatorial Pacific, and leads to a biomass-related sea surface temperature
(SST) anomalies, characterized by water colder than the case without
phytoplankton in the ocean (Nakamoto et al., 2001).

Recent model experiments performed by Ueyoshi et al. (2003) using the
MIT OGCM with Morel and Antoine’s (1994) shortwave penetration scheme
and SeaWiFs satellite-measured chloropyhll concentration data produced the
results remarkably similar to those described by Nakamoto et al. (2001). In
particular, the enhanced EUC and the colder ocean surface region of SST
anomalies in the eastern equatorial Pacific were reproduced, indicating ocean
dynamical interaction effects of phytoplankton in the equatorial Pacific.

Using coastal zone color scanner (CZCS) satellite-derived chlorophyll
concentration data, Murtgudde et al. (2002) conducted ocean general circu-
lation experiments similar to Nakamoto et al. (2000, 2001). Their control
runs without phytoplankton were done with the attenuation depth of 17 m
and these runs were compared with runs where the attenuation depth was
computed from annual mean CZCS data (see the Fig. 1, p. 472 of Murtgudde
et al., 2002). They argued that the large region of colder-than-observed SSTs
in the eastern equatorial and coastal region is greatly alleviated in their
ocean model with CZCS chlorophyll pigment data by stating that the model
simulated SST with phytoplankton is as high as 11C for the cold tongue
region compared with the control run without phytoplankton (see Fig. 5a in
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page of Murtgudde et al., 2002). Regarding the process occurring in their
ocean model simulations with variable attenuation depths, they speculate
that slight warming below the mixed layer with the presence of phytoplank-
ton and the consequent weakening of the stratification leads dynamical
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feedbacks as described in their numerical model outputs (see p. 476 of
Murtugudde et al., 2002).

Here, it is worth noting that Nakamoto et al. (2000, 2001) and Murtgudde
et al. (2002) conducted two different numerical experiments with respect to
the process of penetration of solar radiation due to phytoplankton in the
upper ocean, i.e., Nakamoto et al. (2001) and Ueyoshi et al. (2003) employed
a numerical scheme that allows solar energy shifting toward the ocean sur-
face in the eastern equatorial ocean with phytoplankton, while Murtgudde
et al. (2002) employed a numerical scheme allowing solar energy to penetrate
deeper into the eastern equatorial subsurface ocean with phytoplankton
compared to their control run without phytoplankton.

In this paper, we do not discuss the solar energy penetration process
employed by Murtgudde et al. (2002). Instead, we study the hypothesis pro-
posed by Nakamoto et al. (2001) to seek for an analytical approach to verify
their bioclimate interaction hypothesis involving living phytoplankton and
ocean circulation, by assuming that heat deposition due to phytoplankton
occurs in the surface region rather than in the subsurface ocean if phyto-
plankton concentration is given in the surface part of the ocean.

Question we address here is the following: Why does SST in the eastern
equatorial Pacific become cooler in Nakamoto et al. (2001) and Ueyoshi et al.
(2003), when phytoplankton is taken into account, despite phytoplankton-
traped solar radiation near the ocean surface in Nakamoto et al. (2001) and
Ueyoshi et al. (2003)? In order to answer this question, we focus our atten-
tion on the geophysical dynamics problem hypothesized by Nakamoto et al.
(2001) based on their ocean general circulation model (OGCM) experiment.
Now, a new question, ‘‘Does the geographical pattern of chlorophyll biomass
concentration is the key in the biological interaction with the surrounding
seawater in the tropical ocean?’’ arises. More specifically, we may address
the following question: ‘‘Do phytoplankton in the equatorial ocean generate
subsurface westward-geostrophic currents, which eventually merge into the
EUCs in the western equatorial Pacific?’’

We illustrate the process via extracting a simple mechanistic model from
numerical experiments with OGCMs . The goal of this paper is to motivate
earth system modeling from the view of thermodynamics of life in oceanic
ecosystem for understanding biological—chemical–physical feedback mech-
anism essential in the Earth System Sciences (Harte, 2002).

2 Ocean General Circulation Model with
Photosynthesis Effects

Chlorophyll can absorb and utilize photons of near ultraviolet and visible
wavelengths; therefore, the relevant measure of the underwater light field is
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the PAR, which is a broadband quantity integrated from the wavelength of
350 nm to that of 700 nm (Morel, 1978). In Case 1 water, the concentration
of phytoplankton is high compared with nonbiogenic particles (Morel and
Prieur, 1977). Once the light energy is absorbed by the chlorophyll pigments
of phytoplankton or aquatic macrophytes, it is used to generate useful chem-
ical energy in the form of carbohydrate. Since the aquatic plants also contain
lipids and nucleic acids, none of which conform closely in their overall com-
position to glucose, the biosynthesis of these substances requires additional
photosynthetically generated reducing power and chemical energy, and so
requires additional light quanta per carbon dioxide incorporated (Kirk, 1994).
This is why the entropy argument for living phytoplankton is essential in
terms of macroscopic heat energy transfer processes between the living sys-
tem and its environment (Peixoto and Oort, 1992; Nakamoto et al., 2002).

We propose a simple model to provide the essence of Nakamoto et al.
(2001) numerical model experiments: The model must contain the radiative
transfer mechanism to generate geostrophic currents as seen in the OGCM
experiment (Nakamoto et al., 2001). In order to capture the chlorophyll
pigment-generated geostrophic current, annually averaged horizontal dis-
tribution of chlorophyll pigment concentration is expressed by the following
function:

Bðx; yÞ ¼
Bmax

2
� 1þ tanh

x

Lx

� �� �
� exp �

y2

L2
y

 !
, (1)

where the coordinate frame designated by x, y, z is assigned to eastward,
northward, and upward, respectively. Bmax is the maximum chlorophyll
pigment concentration and Lx and Ly are the zonal and meridional length
scales for chlorophyll pigment distribution, respectively. The above function
B(x, y) (Fig. 1) resembles a typical chlorophyll pigment distribution observed
in remotely sensed sea-viewing wide field-of-view sensor (SeaWiFS) data,
or a CZCS data (Feldman, 1989) used in the numerical experiments by
Nakamoto et al. (2000, 2001).

Given the above surface chlorophyll pigment concentration distribution,
how can an attenuation depth of the solar radiation be estimated in the
ocean? In general, complex OGCMs employ numerous adjustable parame-
ters that are not directly observable. These models are not falsifiable so that
the opportunity to learn from a wrong prediction is short circuited.

The approach we employ here is based on the fact that phytoplankton
increase the rapidity of attenuation of light with depth, and in productive
waters may do so to such an extent that they become a significant factor
limiting their own population growth. The contribution of phytoplankton to
the vertical attenuation coefficient of PAR must therefore be taken into
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account in any consideration of the extent to which light availability limits
primary production in the aquatic biosphere (Kirk, 1994).

Prieur and Sathyendranath (1981) developed a pioneering bio-optical
formalism for the spectral absorption coefficient. Their formalism was sta-
tistically derived from 90 sets of spectral absorption data taken in various
Case 1 waters, and included absorption by phytoplankton pigments, by
nonpigmented organic particles derived from deceased phytoplankton, and
yellow matter derived from decayed phytoplankton. The contribution of
phytoplankton to the total absorption was parameterized in terms of the
chlorophyll concentration. The essence of the Prieur and Sathyendranath
(1981) formalism is contained in a more recent and simpler variant given by
Morel (1991). Statistically derived absorption coefficient values for pure
water and for nondimensional chlorophyll-specific absorption coefficient are
listed in Table 3.7 of Mobley (1994).

For the averaged vertical attenuation coefficient throughout the eupho-
tic zone, it is assumed that the total vertical attenuation coefficient at a
given depth can be regarded as the sum of a set of partial attenuation
coefficients, each corresponding to a different component of medium. We
make use of a further assumption, namely that the contribution of any
component of the medium to the averaged attenuation coefficient is linearly
related to the concentration of that components (Kirk, 1994).

A diffuse attenuation coefficient k(x, y) that varies with chlorophyll con-
centration is thus expressed as a sum of components related to pure water
and that due to chlorophyll biomass (Apel, 1987; Kirk, 1994; Mobley, 1994):

kðx; yÞ ¼ kw þ kc � Bðx; yÞ, (2)

Iðx; y; zÞ ¼ I0 � expðkðx; yÞ � zÞ, (3)

where k(x, y) is the biomass dependent vertically average diffuse attenu-
ation coefficient, kw is the attenuation coefficient in pure water, kc is the
specific attenuation coefficient due to unit chlorophyll mass, I0 ¼ I (x, y, 0)
and I(x, y, 0) are the irradiance just below the surface, respectively.

It is noted that the above formalism is not exactly the same as that used
in the numerical OGCM experiment conduced by Nakamoto et al. (2001);
however, the physics employed in the above two equations (2) and (3) is
simple enough to extract the essence of the radiative transfer mechanism
perturbed by phytoplankton concentration, i.e., the solar energy penetration
depth becomes smaller with increasing biomass concentration. This means
that oceanic phytoplankton traps solar irradiance toward the ocean surface.
The implication of the above formalism is that the upper ocean with phyto-
plankton is optically less transparent than without phytoplankton. The
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above formalism is also consistent with recent measurements of the ab-
sorption spectrum for solar irradiance in the ocean, which shows significant
diminishing of light energy under the existence of phytoplankton (Sasaki
et al., 2001): Sasaki’s observation of underwater solar radiation represents
that living phytoplankton releases more heat energy toward the surround-
ing waters than the detritus of dead organism does.

In mathematical terms, phytoplankton in the upper part of the ocean
localizes the heat source of the heat equation at habitat depth of phyto-
plankton because living phytoplankton absorb visible energy and convert a
small portion of it into glucose during photosynthesis, while releasing the
rest of the energy toward the external environment as heat (Nakamoto
et al., 2002). These are the physics exhibited in OGCM experiments with the
effect of living phytoplankton, i.e., the life activity expressed in radiative
energy budget in the upper ocean environment.

In order to describe the heating mechanism of the seawater through
radiative transfer process perturbed by living phytoplankton, we employ the
following anomalous temperature equation with phytoplankton-induced
anomalous heat source:

@yðx; y; z; tÞ
@t

¼
1

rcp
�
@Iðx; y; zÞ

@z
, (4)

where y(x, y, z, t) is the anomalous temperature of the water at a fixed point
due to the irradiance perturbation caused by living phytoplankton, r is
seawater density, and cp is heat capacity of seawater.

Integrating the above heat equation with respect to time leads,

yðx; y; z; tÞ ¼
I0 � t

rcp
kðx; yÞ � expðzkðx; yÞÞ. (5)

Note that the above solution is valid for a vertically averaged attenuation
coefficient, k(x, y), which is a function of chlorophyll concentration distribu-
tion specified in the equation (1) in this study. As the consequence of the
above assumed heat equation, Equation (4), the anomalous temperature in-
creases linearly in time: the temperature perturbation due to phytoplankton
biomass is not large enough to induce heat advection influencing the mean
heat equation. This model is simple enough to serve as ‘‘Fermi approach’’ as
suggested by Harte (2002): The analytical solution for the anomalous tem-
perature rise due to living phytoplankton can be verified or rejected by
careful laboratory measurements as well as numerical model experiments.
Recently, Ohta and Nakagawa (2003) conducted laboratory experiment to
measure photosynthesis efficiency with phytoplankton. They reported that
the measured water temperature increased linearly in time, and that 82% of
the incoming solar energy was released to the surrounding waters as heat.
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Our approach is thus based on the observational fact that most of the
solar energy in the visible spectral range is trapped by and released from
living phytoplankton to the surrounding waters in the ocean. Thus, less
solar radiation penetrates to deeper waters when a high density of phyto-
plankton exists in the ocean.

3 Feedback Mechanism between Phytoplankton
and the Oceanic Environment

Since the perturbation in seawater temperature caused by heat release from
living phytoplankton is executed at phytoplankton’s dwelling depth, we
translate anomalous temperature of seawater into anomalous density of
seawater by the following equation:

@ðr̄þ rÞ
@y

¼ �aðr̄þ rÞ, (6)

where a is the thermal expansion coefficient at fixed salinity and pressure, r̄
is the background density field neglecting the influence of phytoplankton, r
is the anomalous density perturbation caused by heat release from living
phytoplankton. Note that the background density is independent of the
thermal perturbation y in the above equation.

Solving this equation yields

r ¼ r̄� ½expð�ayðx; y; z; tÞÞ � 1�. (7)

Substituting the anomalous temperature y into the approximated solution
r ¼ –r̄ay yields

rðx; y; z; tÞ ¼ �
aI0t

cp
kðx; yÞ � exp½kðx; yÞ � z�. (8)

This is the density perturbation caused by the existence of phytoplankton,
which causes pressure perturbation due to hydrostatic principles.

Now, we calculate velocity components that are induced by differential
heating of water column due to the heat source term generated by spatially
inhomogeneous distribution of phytoplankton. The steady state incompress-
ible momentum equations are written as:

�fv ¼ �
1

r
@p

@x
þ Av

@2u

@z2
, (9a)
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fu ¼ �
1

r
@p

@y
þ Av

@2u
@z2

, (9b)

�rg ¼
@p

@z
, (9c)

where u and v are the zonal and meridional velocity components, respec-
tively, f is the Coriolis parameter, and Av is the vertical viscous coefficient of
seawater.

In the above equations, the anomalous density r(x, y, z) and anomalous
pressure p(x, y, z) are perturbations due to phytoplankton biomass, defined
at some depths z in the water column. We assume that anomalous pressure
by phytoplankton vanishes at ocean surface (z ¼ 0).

Integrating the hydrostatic equation (9c) from the sea surface to the
reference depth, we obtain

pðx; y; z; tÞ ¼ �
gaI0t

cp

Z 0

z

kðx; yÞ � expðkðx; yÞ � zÞdz. (10)

Our model equations (9a)–(9c) are ‘‘mechanistic’’ in the sense that the
process of heat release from space-varying living phytoplankton was re-
placed with the space-varying water density anomalies. The solar energy
penetration scheme in the ocean used in OGCMs was not in such simple
exponential formalism; however, the above-employed simple ‘‘mechanistic
model’’ (Harte, 2002) is able to mimic the dynamical interaction process
between phytoplankton and the surrounding ocean waters to identify the
cause-and-effect relationship embedded in more complex OGCMs.

The above Eqs. (9a)–(9c) can be solved analytically. The exact solutions
represent phytoplankton-induced geostrophic currents induced in the phys-
ical environment. This solution corresponds with those simulated by numer-
ical OGCM experiments (Nakamoto et al., 2001; Miller et al., 2003; Ueyoshi
et al., 2003).

After some manipulation, we obtain the general solution for the above
mechanistic model:

u x; yð Þ ¼
2Av

fd2
E

exp z=dE

� �
b x; yð Þ cos z=dE

� �
� a x; yð Þ sin z=dE

� �� 	

þ
gt

Avr
k @xkð Þ exp zkð Þ � P x; yð Þkþ 2Q x; yð Þ þ zkQ x; yð Þ½ �

þ
gt
fr

k @yk
� �

exp zkð Þ � R x; yð Þkþ 2S x; yð Þ þ zkS x; yð Þ½ �, ð11Þ
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and

v x; yð Þ ¼ exp z=dE

� �
a x; yð Þ cos z=dE

� �
þ b x; yð Þ sin z=dE

� �� 	

þ
f gt

A2
vr

@xkð Þ exp zkð Þ � P x; yð Þ þ zQ x; yð Þ½ �

�
gt

Avr
@yk
� �

exp zkð Þ � R x; yð Þ þ zS x; yð Þ½ �, ð12Þ

where

a x; yð Þ ¼ �
f gt

A2
vr

dE � @xkð Þ � P x; yð ÞkþQ x; yð Þ �
d2

Ek2

2
P x; yð Þkþ 3Q x; yð Þð Þ

" #

�
gt
fr

dE � @yk
� �

� R x; yð Þkþ S x; yð Þ �
d2

Ek2

2
R x; yð Þkþ 3S x; yð Þð Þ

" #
, ð13Þ

b x; yð Þ ¼ �
f gt

A2
vr

dE � @xkð Þ � P x; yð ÞkþQ x; yð Þ þ
d2

Ek2

2
P x; yð Þkþ 3Q x; yð Þð Þ

" #

�
gt
fr

dE � @yk
� �

� R x; yð Þkþ S x; yð Þ þ
d2

Ek2

2
R x; yð Þkþ 3S x; yð Þð Þ

" #
, ð14Þ

P x; yð Þ ¼
�d5

E

D4
þ 4

� �2
¼ 2kQ x; yð Þ � R x; yð Þ (15)

Q x; yð Þ ¼
d4

E

D4
þ 4
¼

S x; yð Þ

k2
(16)

D ¼ dE � k, (17)

@xk ¼
@k

@x
, (18)

@yk ¼
@k

@y
, (19)

g ¼
gaI0

Cp
, (20)

dE ¼

ffiffiffiffiffiffiffiffiffiffiffi
2Av

f
:

s
(21)

Here, we introduce the Ekman layer thickness dE, which represents a
balance between Coriolis force and eddy friction, analogous to the way of
geostrophic balance between Coriolis force and pressure gradient. This
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thickness increases with larger values of eddy viscosity, but decreases with
large values of Coriolis parameter. It is reminded that the velocity in the
Ekman layer thickness approaches the geostrophic velocity while oscillating
slightly about that value in the vertical coordinate.

Fig. 2 displays the zonal component of phytoplankton-induced geostroph-
ic current at 100 m depth, when surface chlorophyll concentration is given by
equation (1). Note that the coordinate origin of the biomass distribution
function, B(x, y), is located on the equator and the length is scaled by 11. It is
seen that the flows are westward in the northern hemisphere, corresponding
to the anomalous pressure gradient due to the existence of phytoplankton.
Since the chlorophyll concentration distribution function given by equation
(1) is symmetric about the equator, phytoplankton-induced geostrophic cur-
rents in the southern hemisphere is also westward. Thus, the phytoplank-
ton-induced geostrophic currents are westward in the equatorial region of
several degrees north and south of the equator in both the hemispheres.

Fig. 3 displays meridional components of phytoplankton-induced geo-
strophic currents in the domain near the equator (0.31 N to 1.41 N). It shows
the equatorward anomalous currents induced by the anomalous zonal
pressure gradient due to the corresponding zonal gradient of phytoplan-
kton concentration given by equation (1). Figs. 2 and 3 represent that
phytoplankton-induced geostrophic currents converge toward the equator
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Figure 2: Zonal component of chlorophyll biomass induced southward geo-
strophic currents (m s–1). The horizontal coordinate origin is located at
dateline on the equator and the lengths are scaled by 11. y coordinate spans
0.5–1.51 N (For colour version, see Colour Plate Section).
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where the phytoplankton concentration generates a strong zonal gradient
along the equator. Fig. 4 is the longitude–latitude map of the phytoplankton-
induced geostrophic currents in (cm sec–2) at the depth of 150 m. It shows
that the large water mass off the equator converge toward the equator east
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Figure. 3: Meridional component of chlorophyll biomass-induced south-
ward geostrophic currents (m s– 1). The horizontal coordinate origin is lo-
cated at dateline on the equator and the lengths are scaled by 11. y
coordinate spans 0.3–1.41 N (For colour version, see Colour Plate Section).

Figure 4: Analytical solutions for biologically generated horizontal current
(m s–1) at the depth 100 m (longitude (183–190 E) and latitude (0.5—1 N))
(For colour version, see Colour Plate Section).
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of the dateline along 0.61 N. The large amount of water mass flow back to the
east in the equatorial ocean region between 0.61 N and the equator. Since
these flows are in geostrophic balance, the flow never crosses the equator
due to the singularity of Coriolis parameter on the equator.

Thus, these flows feed the EUCs with biomass-induced subsurface water
mass (at the depth of 100 m in our example shown in Fig. 4). These sub-
surface anomalous flows induced by phytoplankton biomass merge into the
EUCs, which are thus strengthened and eventually rise toward the ocean
surface in the eastern equatorial Pacific. Thus, the colder waters with rich
nutrients rise upward in the eastern equatorial Pacific to feed more nutri-
ents to biomass-rich region, implying positive feedback mechanism between
ocean ecosystem and geophysical fluid system in the ocean with life activity.
This mechanism corresponds to the hypothesis of phytoplankton-induced
EUCs and associated lower temperature surface anomalous spots seen in
the previous ocean general circulation experiments (Nakamoto et al., 2001;
Miller et al., 2003; Ueyoshi et al., 2003).

4 Discussion and Conclusion

Scientific questions often can be answered after some simplification of the
problem and thus can give answers to some aspects only of the full problem.
Here, we sought an alternative approach to solve the problems within the
earth environmental system by (1) experimenting with a complex OGCM, and
then (2) extracting a simple mechanistic model (Harte, 2002) from the view of
thermodynamics in the oceanic ecosystem as a whole and solving the mech-
anistic model analytically. The OGCM experiments involve the dynamical in-
fluence of phytoplankton on geophysical fluid with ocean-biological processes
embedded. The simple mechanistic model extracts the essence of complexity of
thermodynamical interaction between the oceanic ecosystem and the external
environmental fluids executed in numerical experiments with OGCMs.

By constructing a mechanistic process model, simple enough to mimic
biologically generated anomalous geostrophic currents, we proposed poten-
tial feedback mechanism between oceanic phytoplankton and upper tropical
equatorial ocean circulation. Since the flow of energy through the boundary
is necessary for the balance of entropy for ecosystem as a whole (Tsuchida,
1982; Nakamoto et al., 2002), the feedback mechanism between the ecosys-
tem and its environment is associated with biogeochemical processes in-
volving with photosynthesis, metabolism, and food chain in the entire
oceanic ecosystem. The ecosystem in the ocean interact with external phys-
ical environment through thermal energy exchange processes.

The OGCM experiments with annual mean chlorophyll pigment con-
centration demonstrated basin-scale warming of upper ocean in the entire
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globe. Biologically generated density gradient and rotating fluids–led dy-
namical interaction between oceanic living things and external fluid envi-
ronments. Chlorophyll-dependent variable attenuation of solar radiation in
a global circulation model exhibited shallower mixed layer throughout en-
tire oceanic basins (due to more solar radiation energy trapped near the
surface) than that of constant attenuation for clear water conditions without
phytoplankton (Nakamoto et al., 2001; Ueyoshi et al. 2003). Such mecha-
nism were expressed by simple radiation transfer of solar radiation and the
geostrophic dynamics in the equatorial ocean. The two processes (the heat
deposition from phytoplankton in the upper part of the ocean and the
rotating fluid dynamics in the tropical ocean) play a role of connectivity
of the ecosystem and its environment in the ocean, which leads to the
enhancement of the EUCs and a colder spot of SST in the eastern equa-
torial Pacific.

The analytical solution of the simple mechanistic model corresponds
with the phytoplankton-induced geostrophic currents hypothesized in the
previous OGCM experiments (Nakamoto et al., 2001; Ueyoshi et al., 2003):
the analytical solution shows an active role of phytoplankton on density
modification and resultant flows that induce seawater conditions favorable
to phytoplankton blooming in the eastern equatorial Pacific. Thus, the sim-
ple mechanistic model extracting the dynamical interaction of phytoplank-
ton with surrounding water provides a condition of potential feedback
mechanism between phytoplankton and upper ocean circulation relevant to
basin-scale climate variations (Miller et al., 2003).

We proposed a simple mechanistic model with analytical solutions that
extracts thermodynamical aspects of the interaction between ecosystem and
its environment in the upper ocean as a whole. Our analytical model is
‘‘mechanistic (Harte, 2002)’’ in the sense that the effect of entropy release as
heat from phytoplankton was replaced with the space-varying water density
anomalies, because living phytoplankton deposit more heat in the upper ocean
than nonliving particulate and resolved materials. Our simple ‘‘mechanistic
model’’ was able to mimic and identify the cause-and-result relationship in the
oceanic dynamical interaction process between living phytoplankton and
ocean water environment as seen in numerical OGCM experiments.

It is worth noting that the choice of the annual averaged chlorophyll
pigment concentration in the equation (1) is arbitrary because there was no
need to use the exponentially decaying function for the chlorophyll pigment
concentration in meridional direction. The essence in this exponentially de-
caying form exists in the fact that the chlorophyll pigment concentration in
the equatorial Pacific decrease as the distance increase from the equator.
The penetration of solar irradiance does not necessarily follow an exponen-
tial decline with depth. However, the analytical solution obtained in this
study extracts the nature of solar radiation energy depositing in the upper
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ocean due to the existence of phytoplankton that convert solar energy to
chemical energy and heat energy released to the physical environments in
the upper ocean. A shallower mixed layer with the existence of phytoplank-
ton is due to the release of biologically generated entropy as heat release to
maintain lower entropy for the entire oceanic ecosystem which is sur-
rounded by environmental physical fluids in the ocean.
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Chapter 12

Precession and ENSO-Like
Variability in the Equatorial
Indo-Pacific Ocean

Luc Beaufort�

CEREGE, CNRS-Université Aix-Marseille III, Domaine de l’Arbois, BP 80 13545 Aix en Provence Cedex
04, France

Abstract

Since 900,000 years the 100- and 41-kyr cycles of the ice volume dominate most of the

climatic parameters. Exception occurs in the tropics, where some records exhibit stronger

precession cycles. Primary productivity is one of these parameters. Late pleistocene quan-

titative changes in nannoplankton communities preserved in eight deep-sea cores are used to

monitor primary productivity along the equator in the Indian and Pacific oceans. The pre-

cession-controlled changes, significantly present in these cores, are discussed here in detail.

Primary production (PP) is highest during high precession times in most of the records, and

during low precession time in the western Pacific warm pool (WPWP). The opposite response

of the WPWP corresponds to the rocking of the east–west thermocline slope of the Indo-

Pacific that strongly affects PP. These balance movements of the thermocline slope are linked

to processes similar to the southern oscillation phenomenon but on a longer time scale and

are labelled ENSO-like. The precession-induced ENSO-like variability precedes changes in

the oxygen isotopic ratio, which indicates that it is not the result of ice sheet fluctuations. On

the reverse, because deglaciations occur during the transition caused by the onset of El Niño-

like phases that produce great transport of heat to the high latitudes, ENSO-like variability

could be at the origin of late pleistocene deglaciations. The stack of all these PP records shows

that the glacial PP was 50% (3.5 Giga ton of carbon) higher than the interglacials in the

equatorial Indo-Pacific ocean.
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1 Introduction

The Milankovitch theory of climate suggests that the oscillations of the 651N
summer solstice insolation induce ice volume variations, which in turn pro-
duce global climatic variations. Ice volume variations not only display the
23-kyr cycle (precession) and the 41-kyr cycle (obliquity), which are char-
acteristic of orbitally driven insolation changes, but also show a 100-kyr
cycle, which is the strongest of the upper pleistocene cycles and may cor-
respond to the non-linear response of ice volume to the precession cycles
(Imbrie et al., 1993). Most of the paleoclimatic records related to global
climates show a strong 100-kyr component. In contrast, some low-latitude
paleoclimatic proxies show variability strongly dominated by precession.
Molfino and McIntyre (1990) and Pokras and Mix (1987) explained the
dominance of precession in the tropical Atlantic records as caused by the
influence of precessional changes on trade winds and the African monsoon.
Beaufort et al. (1997) documented that PP, and thus wind dynamics in the
equatorial Indian Ocean, varied independently of global ice volume. In pre-
cession frequency band, an advance of 3,000 years was also observed for
tropical primary production (PP) (Beaufort et al., 1997, 1999, 2001), for
index of rain in the Amazonian basin (Harris and Mix, 1999) and for tropical
sea surface temperature (SST) (Schneider et al., 1997; Lea et al., 2000), for
East Asian monsoon dynamics (Wang et al., 1999) and for Indonesian bio-
mass burning (Beaufort et al., 2003).

Climatic variables at higher latitudes in the southern Hemisphere ap-
pear to lead to variations in the volume of the Northern Ice-Sheet (Imbrie
et al., 1993; Blunier et al., 1998; Shackleton, 2000). Imbrie et al. (1993)
suggested that those records that lead ice volume could respond to an even
earlier cooling in the Norwegian Sea. This hypothesis would not explain the
dominance of precession in tropical records. Another explanation could be
that some climatic proxies behave independently of ice volume (and even
could lead to ice volume variation). Shackleton (2000) suggested that ice
volume was lagging in CO2 because ice sheets were responding to the global
carbon budget dynamics (instead of the reverse as previously thought) but
did not give any mechanism to explain the CO2 dynamics.

I suggest here that the strong precession response of the tropical ocean,
triggered through an ENSO-like forcing, is responsible for the advance of
the tropical climate variability ahead of the ice volume. I base my demon-
stration on results from PP estimates from eight areas of the tropical Indian
and Pacific (TIP) oceans for the last 180 kyr.
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2 Methods

2.1 Coccoliths as Paleoproductivity Markers

The coccolithophores are phytoplanktons that are widespread and abundant
in the world’s oceans. As photosynthetic organisms they must remain within
the photic zone, with most species at a depth of 0–80 m. This part of the photic
zone is often depleted in nutrients and the productivity is highest just above
the nutricline. When the ocean is strongly stratified and the nutricline is too
deep in the photic zone, the PP is low. Some species (e.g. Florisphaera
profunda, Gladiolithus spp. and Algirosphaera spp.) that are adapted to low-
light environment are commonly found between 80 and 180 m (Okada and
Honjo, 1973). These taxa thrive when the nutricline is deep, because the
light penetration increases at low productvity. The relative abundance of
F. profunda (the most abundant of the three deep-living taxa) may serve to
monitor the depth of the nutricline (Molfino and McIntyre, 1990). A high
relative abundance of F. profunda indicates a deep nutricline and a low pro-
ductivity in the shallow waters (and the reverse) (Fig. 1).

The F. profunda index (%Fp) has been calibrated using data on the
percentage of F. profunda (Fp) in a total of 400 counted coccolith (total
coccoliths ¼ TC) in 96 core top samples from a large variety of environments
in the Indian Ocean (Beaufort et al., 1997). In this paper all counts have
been realized by the same micropalaeontologist except for a core in Sulu Sea.
This index (%Fp ¼ 100�Fp/TC) was correlated to the estimate of averaged
annual PP based on a compilation of 12 years’ of satellite observations with
the Coastal Zone Colour Scanner (CZCS) (Antoine et al., 1995). We tested
various equations to determine the best fit of the distribution of Fp% versus
PP, using the least squares method. The most significant correlation
(r ¼ 0.94) was found for the equation PP ¼ 617–(279 log[%Fp+3]) (Beaufort
et al., 1997) (Fig. 1).

2.2 Wind Stress and Primary Production

Wind stress plays an important role in controlling PPs in the oceans because
it can break stratification of the open ocean bringing nutrients to the upper
part of the photic zone, inducing an increase in PP. This relation between
wind and PP in the Indian Ocean has been demonstrated by a sediment-
traps study (Nair et al., 1989) that shows that the flux of organogenic ma-
terial increases in September and October, a couple of months after the
height of the monsoon. This indicates that peaks in PP closely follow strong
wind activity. Pronounced seasonal response of PP from wind strength can
be identified by comparing PP estimates from satellite imagery with sea-
sonal wind stress data from COADS data sets; e.g., in the western Indian
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Figure 1: (A) Schematic representation of the influence of the depth of
nutricline on the percentage of Florispheara profunda in coccolithophore
assemblages. Black curve represents the amount of nutriments through
depth in the photic zone; the grey curve, the amount of light; and the filled
area the primary production. The dotted lines are levels of light limitation
for most of the coccolithophores (shallow) and F. profunda deep. Two cases
are shown: left is with a shallow nutricline, right with a deep nutricline. (B)
Relationship between the percentage of F. profunda in 94 core top samples
from the Indian Ocean (Beaufort et al., 1997) and primary production es-
timated from satellite imagery (Antoine et al., 1995). The line corresponds to
the equation PP ¼ 617�(279 log[%Fp+3]) which represent the best fit with a
correlation (r ¼ 0.94).
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Ocean (Beaufort et al., 1999), Central Indian Ocean (Beaufort et al., 1997)
and Sulu Sea (de Garidel-Thoron et al., 2001).

2.3 Thermocline and PP

In the equatorial Pacific, most of the time, the tropical trade winds transport
surface waters westwards (Philander, 1983). This deepens the thermocline
in the western Pacific where warm surface waters pile up against the
Australian and Asian continents; the PP is consequently low. During El
Niño years, the collapse of the trade winds produces a shoaling of the
thermocline permitting PP at a higher rate than usual. Therefore in the
WPWP, the relation between PP and wind is reversing than in the rest of the
equatorial Pacific.

3 Material

The coccolithophore community preserved in eight deep-sea cores taken
from the TIP oceans, have been analysed (Beaufort et al., 2001) (Table 1; Fig.
2). A precise chronology was obtained by tuning oxygen isotope records from
foraminifera in most of the cores to the SPECMAP stacked record (Imbrie
et al., 1984) so that our sampling achieves a temporal resolution of 0.7–3 kyr.
The eight records span the last 180 kyr.

Table 1: Position, depth and stratigraphic resolution achieved foraminifera
species used for d18O analysis, reference for the stratigraphy

Core Acron. Lat. N Long Depth
(m)

Resol.
(kyr)

Strati. Ref.

TY93-929 T29 13142 53115E 2490 1.7 N. dutertrei Rostek et al.,
1997

MD90949 M49 2105 76107E 3700 2.8 G. rubber Beaufort et al.,
1999

MD90963 M63 51O3 73153E 2446 2.0 G. rubber Bassinot et al.,
1994

MD972141 M41 8147 121117E 3633 0.3 G. rubber Oppo et al.,
2003

MD971240 M40 212 14110E 2347 1.9 G. rubber de Garidel-
Thoron et al.,
2005

MD972138 M38 –1125 146114E 1912 1.7 G. rubber Beaufort et al.,
2001

W84-14GC W84 0157 138157W 4287 2.5 C. wullerstortfi. Jasper et al.,
1994

RC13-110 R13 0106 95165W 3621 2.4 C. wullerstortfi. Pisias and Mix,
1997
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4 Primary Production Variability along the
Equatorial Indo-Pacific

4.1 The Gulf of Aden and the Summer Monsoon

The most prominent climatic feature of the Indian Ocean is the monsoon.
Winds blow from the south–west during the boreal summer season and from
the north–east during the boreal winter season. The monsoon is strongest on
the western part of the Indian Ocean and the Arabian Sea.

Core TY93-929 (T29) shows that PP increases generally with precession
cycle (Fig. 3). Most of the models and data from cores north of this position
show a reversed pattern (Prell, 1984; Clemens et al., 1991; Anderson and
Prell, 1993; Emeis et al., 1995; Reichart et al., 1998; Schulz et al., 1998;
Schulte et al., 1999; Altabet et al., 2002). Florisphaera profunda is not the
only productivity proxy that shows that trend: Corg and alkenone concen-
tration vary in parallel to the PP reconstituted in the same core (Rostek
et al., 1994). That latter work suggests that PP dynamics observed is related
to the winter monsoon. However, the summer monsoon has a dominant
effect on PP. A supposed lower PP related to the lower LGM summer mon-
soon (Prell et al., 1980) could not have been compensated by the small in-
crease in PP due to a more intense winter monsoon. More likely, PP
dynamics observed in core T29 is related to the precession influence of the
migration of the low-levels Finlater jets (Beaufort, 1996). These middle-
altitudes winds, closely related to the monsoon, migrate from the south
to north during the onset of the summer Indian monsoon (Wyrtki, 1973;
Hastenrath et al., 1993). Their path could be modified by seasonal insolation
and deflected to the south east along the equator during maximum preces-
sion (Beaufort, 1996). This is confirmed by results of ocean/atmosphere-
coupled models that indicate that during maximum precession, monsoon
winds and rains were located to the south in the Indian Ocean (De Noblet

20°E 40°E 60°E 80°E 100°E 120°E 140°E 160°E 180° 160°W 140°W 120°W 100°W 80°W

0° 0°
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Figure 2: Location of the cores used in this study. The squares represent
the area used in preparing the stack of primary production shown in Fig. 8.
The numbers in the square are the total integrated primary production in
the area (from Antoine et al., 1995).
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et al., 1996). That could be also described in terms of stronger Indian Ocean
Dipole (Webster and Palmer, 1997; Saji et al., 1999) and this is described in
Section 4.2. The T29 PP record exhibits the same variability as those es-
tablished from cores located to the south, close to Soccotra Island (Caulet et
al., 1992; Vénec-Peyré et al., 1995; Beaufort et al., 2001).

For some peaks, the relation between PP and precession is not perfect
and a shift of up to 5 kyr can be observed (Fig. 3). This can be attributed to
(1) stratigraphic uncertainty, or (2) the existence of other processes influ-
encing PP or (3) a phase modulation of the precession cycle by a glacial/
interglacial condition (Beaufort et al., 2001, 2003).

4.2 Central Indian Ocean and the Indian Dipole

In the central equatorial Indian Ocean (CEIO) winds are weak during
monsoon seasons. In spring and autumn the Indian Ocean wind pattern
becomes zonal when the intertropical Convergence Zone (ITCZ) crosses the
equator. CEIO winds are consequently stronger during spring and autumn.
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Figure 3: Variations of primary production estimates in Core TY93-939
(solid line) compared with precession (Laskar, 1990) (doted line). Vertical
lines represent Termination I and II.
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In both seasons CEIO winds blow from the west as a response to the pres-
sure gradient between western Indian Ocean (highs), and the Indonesian
tropical warm pool (lows). In the CEIO, a strong jet-like current flows to the
east in response to the westerlies, causing the thermocline to rise in the west
and become deeper in the east (Wyrtki, 1973). The westerlies represent the
Indian Ocean part of the ‘‘Walker circulation’’ – the large-scale west-east
circulation in the tropical ocean associated with convection (Bjerkness,
1969). The southern oscillation (SO) characterizes the interannual varia-
tions of the Walker circulation. The strength of the equatorial Indian west-
erlies is naturally related to the SO (Reverdin et al., 1986; Hastenrath et al.,
1993). This has been further evidenced by Webster et al.(1999) who clearly
showed the reversal in wind pattern in the CEIO during the 1997 El Nino
event. Saji et al. (1999) call that climatic feature the Indian dipole.

The cores MD90-0963 and MD90-0949 are placed ideally at the centre of
that climatic feature and can serve to monitor the Indian dipole of the past.
Estimate of past PP in both cores show a strong influence of precession. It
has been shown that the PP structure in core MD90-0963 varies independ-
ently of ice volume variation for the past 902 kyr in phase with the late
winter insolation at low latitude and in advance of 3,000 year with d18O
(Beaufort et al., 1997), therefore in phase with the PP estimates of the Aden
Gulf core and with precession. Fig. 4 clearly shows this increase in PP
during precession maxima in the two cores. Precession is the dominant
paleoclimatic feature in that area.

4.3 The Sulu Sea and the East Asian Winter Monsoon

The main feature governing the Sulu Sea climates is the East Asian mon-
soon. Although most of the rain falls into the Sulu Sea during the summer
monsoon, the winter monsoon brings the strongest winds (Beaufort et al.,
2003). The East Asian monsoon results from the difference in potential
heating between the WPWP and the Asian continent. During the boreal
winter, the main heating source is located in the ocean. The latent heat
release associated with intense convective precipitation fuels meridional
circulation. Tropical convection in the western equatorial Pacific is con-
nected to the descending branch over the Siberian region, forming a strong
local Hadley cell in the East Asian region (Zhang et al., 1997). The East
Asian winter monsoon (EAWM) winds in the Sulu Sea result from the
merging of the northerly East Asian monsoon with the Pacific trade winds
over the South China Sea (McGregor and Nieuwolt, 1998).

Owing to those strong winds that are able to break the upper oceanic
stratification, it is during the winter monsoon that the PP is highest,
nowadays (de Garidel-Thoron et al., 2001). Past estimates of PP in core
MD97-2141 show that PP follows closely the glacial/interglacial variation
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Figure 4: Variations of primary production estimates (solid line) in Core
MD900963 (upper panel) and Core MD900949 (lower panel) compared with
precession (Laskar, 1990) (doted line). Vertical lines represent Termination I
and II.
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closely as evidenced by the strong 100- and 40-kyr cycles and the resem-
blance with d18O record obtained at the same location (de Garidel-Thoron
et al., 2001). These cycles represent the influence of the high latitudes of
Siberian area on EAWM. Precession cycles are also present. They are in
phase with the precession and precede d18O by about 3,000 yr (Beaufort
et al., 2001, 2003; Fig. 5). Therefore the precessional cycle observed in this
core is again in phase with the Indian Ocean records described above,
although other orbital frequencies (41 and 100 kyr) are also strongly influ-
ential here (Beaufort et al., 2003).

4.4 The Eastern and Central Equatorial Pacific

The eastern equatorial Pacific is characterized by the strongest open ocean
welling up on earth. It results from the strength of the equatorial current
flowing to the west, pushed by the equatorial easterly winds. Cold waters
coming from the southern Pacific as well as from below feed this surface
current. The new nutrients, provided to the photic zone, sustain an intense
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Figure 5: Variations of primary production estimates in Core MD972141
(solid line) compared with precession (Laskar, 1990) (doted line). Vertical
lines represent Termination I and II.

Luc Beaufort282



PP. During El Niño years, the decline of the easterlies provokes a collapse of
the oceanic upwelling.

Cores W84-14GC and RC13-110 are located below the path of the oceanic
upwelling and they can monitor its strength through time. Fig. 6 shows that
precession is not strong in these two records, which are dominated by
100- and 41-kyr cycles. This implies strong influence of global climatic var-
iations and high latitudes. This is certainly related to the direct link of this
upwelling to the high southern latitudes via the Humbolt current. PP var-
iability in the precession band is still visible and appears to be again in
phase with precession in both records.

4.5 The Western Pacific Warm Pool

This oceanic area, located north of New Guinea, is characterized today by
having small seasonal variability in SST: always superior to 281C. It is the
highest annual SST in the ocean. The thermocline is deep (200 m) due to
Equatorial Easterlies that push a bulge of warm water in that area. The
seasonal variability here is much less than the interannual variability
(Longhurst, 1998). During El Niño years the easterlies weaken, inducing a
shoaling of the thermocline. That helps to sustain higher PP than usual.

Cores MD97-2138 and MD97-2140 are both located in the WPWP. The
two PP records show an opposition with precession, which is opposite to all
the other records described in Fig. 7. However, PP dynamics exhibit some
difference between Termination 2 and Termination 1, which implies that
precession is not the only driving force for PP long–term variability in that
area.

4.6 Phase of PP and Precession

Up to now I mention that was high PP during high precession. In detail, all
these records exhibit a shift of about 3 kyr between PP and maximum pre-
cession. This can be seen clearly on a phase diagram resulting from cross-
spectral analysis (Fig. 8). Also, the advance of PP over d18O is shown to be
statistically significant.

4.7 Assessment of the Equatorial Indo-Pacific Primary
Production

In order to put in perspective how different areas contribute to the total PP
of the equatorial Indo-Pacific, I designed six areas inspired from the oceanic
biomes of (Longhurst, 1998). These areas are represented by the squares in
Fig. 2. For each of these areas, the total amount of yearly primary produc-
tion (TYPP) has been estimated using the map of PP estimates from satellite
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Figure 6: Variations of primary production estimates (solid line) in Core
W84-14GC (upper panel) and Core RC13-110 (lower panel) compared with
precession (Laskar, 1990) (doted line). Vertical lines represent Termination I
and II.
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Figure 7: Variations of primary production estimates (solid line) in Core
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imagery (Antoine et al., 1995). For each record ofPP, its average Holocene PP
(PPh) value has been subtracted from all the PP values (PPs). These new
values have been divided by the variance of the original record (PPv), and
then multiplied by the total PP of the zone in which the records have been
taken.

The new record of variations of total yearly production of each area
(TYPPa) is given by the following equation:

TYPPs ¼ TYPP� PPv� ðPPs� PPhÞ

In two areas two cores were studied. This was the case for Cores M49, M63,
M40 and M38. The mean of cores M49 and M63, and M40 and M38 were
used for the calculations presented above.

The sum of all the six different TYPPs provides the first estimate of the
total yearly production of the low-latitude Indo-Pacific Ocean for the last
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180 kyr (Fig. 9). The importance of precession is clearly visible, but one cycle
is missing at 115 kyr. This shows the strong weight of the eastern Pacific in
that reconstruction, for which the precession cycle is not strongly marked.
The obliquity signal is also strongly present. That figure shows the advance
of PP on the d18O stack. The glacial/interglacial difference is of 3.5 Pg
( ¼ 3.5 Giga tons) of carbon, which represents an increase of 50% of pro-
ductivity of that area during the glacial time (MIS 2 and 6) versus inter-
glacial time (MIS 1 and 5).

5 Discussion

5.1 ENSO-Like Variability

A striking feature of these records is that they are in phase with precession
in most (5 of 6) of the studied areas and in opposite phase with precession in
the WPWP. The only explanation of this opposition results from a change in
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area (see Fig. 2) where the core has been retrieved (solid line). The dotted
line is the d18O stack of the cores used in that study.
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the variability of the thermocline. The thermocline depth, which has a
strong influence on oceanic PP, evolves in the WPWP in opposition to the
rest of the IPO. This evolution is equivalent to that observed in the modern
Pacific Ocean during an ENSO cycle. During maximum precession (high
insolation at the end of the boreal winter), strong tropical trade winds
transport surface waters westwards in the Pacific. This lifts the thermocline
along the equator in the central and eastern Pacific, but deepens the therm-
ocline in the western Pacific where warm surface waters pile up against the
Australian and Asian continents. In the Indian Ocean, an analogous pattern
exists but with a shallow thermocline in the west (the Somalian upwelling)
and a deep thermocline in the east (strong Indian Ocean dipole). When
precession is low, trade winds relax, and the basin wide slope of the therm-
ocline changes intensely. The thermocline rises in the western Pacific and in
the eastern Indian Ocean, whereas it deepens on the other sides of these two
basins. ENSO-like variability is therefore defined as an oceanographic/
atmospheric phenomenon equivalent to the ENSO but acting at a much
longer time scale.

5.2 Precession and ENSO-Like

Clement et al. (1999) described a strong link between ENSO and precession.
The seasonal warming of the Pacific is a key factor in that theory. They used
the model of Zebiak and Cane (1987), which has been demonstrated to pre-
dict relatively well the recent ENSO intensities. The important season for
insolation is autumn. The results presented here show a strong phase with
precession (winter/summer), and a lag by 5,000 yr the prediction of Clement
et al. (1999). This lag can be attributed to erroneous date of the SPECMAP
stack, as radiometric dating point out (e.g. Henderson and Slowey, 2000).
Another possibility is that, although predictable for the present, the model
of Zebiak and Cane (1987) is not directly applicable for the past with the
same phase. For example, the IPSL-CM2 coupled ocean–atmosphere model
(Braconnot et al., 2000) run for three precession configurations (123, 115
and 110 kyr) predicts for the oceanic continent and the WPWP low precip-
itation at 123 kyr and high precipitation at 110 kyr (Braconnot and Marti,
2003). Clement et al. (1999) predict more frequent and strong La Niña at
123 kyr and more frequent and strong El Niño at 110 kyr, which is com-
pletely opposite to the IPSL-CM2 model. The seasonal phasing in the model
is critical and creates apparent discrepancies. Also, minima and maxima
precession simulations by ECBilt, a global fully coupled atmosphere/ocean/
sea-ice climate model (Tuenter et al., 2003), show that winds in the central
Indian ocean blow stronger during high precession times, in complete
agreement with PP results. Therefore I conclude that it is likely that a phase
shift of a few thousand years has to be considered for the Clement et al.
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(1999) reconstruction of ENSO-like variability, and that the absolute chro-
nology bias is not needed to explain that shift as suggested by Beaufort et al.
(2001).

Difference in the annual movement of a convective maximum appears to
play an important role in interannual variability (Meehl, 1987, 1993). The
warm-pool area experiences strong convection, which provides a large part
of the energy necessary for the Walker circulation (e.g. Graham and
Barnett, 1987). This annual cycle is opposite on each side of the Indian and
Pacific oceans. The maximum of convection occurs during the boreal winter,
a period that coincides with the maximum in positive SST anomaly (Lau
et al., 1994). The convection is minimum in the warm pool in summer. Thus,
the warm pool exhibits a strong annual cycle with contrasted winter and
summer. In February, convection is maximum during strong years (strong
SOI) and minimum in weak years (weak SOI and El Nino) (Salby and
Hendon, 1994). Above a critical sea surface temperature of 27.51C, insolat-
ion becomes a determining factor in warming the mixed layer and creating
strong evaporation (Graham and Barnett, 1987). These migrations of the
convection cells or inter-tropical convergence zone (ITCZ) are observed in
paleoclimate records (Haug et al.; 2001, Koutavas et al., 2002). With pre-
cession maxima, when equatorial area receives maximum insolation in
winter, and minimum in August, the annual cycle of convection along the
equator is accentuated, strong years occur frequently and the temperature
gradient is the maximum.

De Noblet et al. (1996) used an atmospheric general circulation model
(AGCM) to check the sensitivity of summer monsoons to variations in ins-
olation. The tested periods were 126, 115 and 6 ka. The study shows clearly
that 115 ka ago (hint: maximum of PP occurs at 114 ka in our study) the
convection was strong in the western Pacific whereas at 126 ka no convective
activity was simulated for the same area. Winds were more zonal at 115 ka
and meridian at 126 and 6 ka (strong monsoon). The wind and convective
activity migrated from the continent (e.g. India) where they are high during
strong monsoon years (6 and 126 ka), towards the ocean (e.g. CEIO) during
weak monsoon periods (115 ka). Sediment records presented here confirm
these simulation results.

5.3 Advance of 3,000 Years

As discussed, many low latitude records appear in advance to glacial cycles.
Lea et al. (2000) showed that the equatorial Pacific SST varied in phase with
Vostok dD temperatures, a correspondence in favour of the climatic impor-
tance of the equatorial ocean for global climatic variations. The reason of the
timing of the equatorial SST variability is not clearly understood. Here
I propose that this timing is related to precession-induced ENSO-like
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variability. ENSO has a significant effect on the exchange of heat between
low and high latitudes (Molnar and Cane, 2002; Philander and Fedorov,
2003). During La Niña periods, high latitudes lose heat in favour of low
latitudes whereas during El Niños it is the reverse, with heat gaining pole-
wards (Philander and Fedorov, 2003). The shift from ‘‘La Niña-like’’ to ‘‘El
Niño-like’’ occurs 3,000 years before the deglaciation, suggesting that the
transfer of heat from low to high latitude induced the beginning of the
deglaciation.
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Southward migration of the intertropical convergence zone through the
holocene. Science 293, 1304–1308.

Henderson, G. M., Slowey, N. C., 2000. Evidence from U-Th dating against
northern hemisphere forcing of the penultimate deglaciation. Nature 404,
61–66.

Imbrie, I., Berger, A., Boyle, E. A., Clemens, S. C., Duffy, A., Howard, W. R.,
Kukla, G., Kutzbach, J., Martinson, D. G., Mclntyre, A., Mix, A. C.,
Molfino, B., Morley, J. J., Peterson, L. C., Pisias, N. G., Prell, W. L., Raymo,
M. E., Shackleton, N. J., Toggweier, J. R., 1993. On the structure and
origin of major glaciation cycles2: the 100,000-year cycle. Paleoceanogra-
phy 8 (6), 699–736.

Imbrie, J., Hays, J. D., Martinson, D. G., Mclntyre, A., Mix, A. C., Morley, J.
J., Pisias, N. G., Prell, W. L., Shackleton, N. J., 1984. The orbital theory of
Pleistocene climate: Support from a revised chronology of the marine d18O
record. In: Berger, A. L., Imbrie, J., Hays, J. D., Kulka, G., Saltzman, B.
(Eds.), Milankovitch and Climate, Part 1. D. Reidel, Dordrecht, The
Netherlands, pp. 269–305.

Jasper, J. P., Hayes, J. M., Mix, A. C., Prahl, F. G., 1994. Photosynthetic
fractionation of 13C and concentrations of dissolved CO2 in the central
equatorial Pacific during the last 255,000 years. Paleoceanography 9 (6),
781–798.

Koutavas, A., Lynch-Stieglitz, J., Marchitto, T. M. Jr., Sachs, J. P., 2002.
El Nino–Like pattern in Ice Age Tropical Pacific sea surface temperature.
Science 297, 226–230.

Laskar, J., 1990. The chaotic motion of the solar system: a numerical es-
timate of the chaotic zones. Icarus 88, 266–291.

Lau, K.-M., Sheu, P.-J., Kang, I.-S., 1994. Multiscale low-frequency circu-
lation modes in the global atmosphere. Journal of the Atmospheric Sci-
ences 51 (9), 1169–1193.

Lea, D. W., Pak, D. K., Spero, H. J., 2000. Climate impact of late quaternary
Equatorial Pacific sea surface temperature variations. Science 289,
1719–1724.

Longhurst, A., 1998. Ecological Geography of the Sea, 1. Academic Press,
San Diego, 398 pp.

McGregor, G. R., Nieuwolt, S., 1998. Tropical Climatology. J. Wiley, Chich-
ester, p. 339.

Luc Beaufort292



Meehl, G. A., 1987. The annual cycle and interanual vaiability in the trop-
ical Pacific and Indian Ocean regions. Monthly Weather Review 115,
25–70.

Meehl, G. A., 1993. A cupled air-sea biennial mechanism in the Tropical
Indian and Pacific regions: role of the ocean. Journal of Climate 6, 31–41.

Molfino, B., McIntyre, A., 1990. Precessional forcing of the nutricline dy-
namics in the Equatorial Atlantic. Science 249, 766–769.

Molnar, P., Cane, M., 2002. El Niño’s tropical climate and teleconnections as
a blueprin for Ice-Age climate. Paleoceanography 17 (2), 1021.

Nair, R. R., Ittekkot, V., Manganini, S. J., Ramaswamy, V., Haake, B.,
Degens, E. T., Desai, B. N., Honjo, S., 1989. Increased particle flux to the
deep ocean related to monsoons. Nature 338, 749–751.

Okada, H., Honjo, S., 1973. The distribution of oceanic coccolithophorids in
the Pacific. Deep-Sea Research 20 (4), 355–374.

Oppo, D. W., Linsley, B. K., Rosenthal, Y., Dannenmann, S., Beaufort, L.,
2003. Orbital and suborbital climate variability in the Sulu Sea western
tropical Pacific. Geochemical Geophysical Geosystems 4 (1), 1001.

Philander, G., Fedorov, A. V., 2003. Role of tropics in changing the response
to Milankovich forcing some three million years ago. Paleoceanography 18
(2), 1045.

Philander, S. G. H., 1983. El Niño Southern Oscillation phenomena. Nature
302, 295–301.

Pisias, N. G., Mix, A. C., 1997. Spatial and temporal oceanographic vari-
ability of the eastern equatorial Pacific during the late Pleistocene: ev-
idence from radiolaria microfossils. Paleoceanography 12 (3), 381–393.

Pokras, E. M., Mix, A., 1987. Earth’s precession cycle and Quaternary cli-
matic change in tropical Africa. Nature 326 (6112), 486–487.

Prell, W. L., 1984. Monsoonal climate of the Arabian Sea during the late
Quaternary: a response to changing solar radiation. In: Berger, A. L.,
Imbrie, J., Hays, J. D., Kukla, G., Saltzman, B. (Eds.), Milankovitch and
Climate, Part 1. D. Reidel, Dordrecht, The Neatherlands, pp. 349–366.

Prell, W. L., Hutson, W. H., Williams, D. F., Bé, A. W. H., Geitzenauer, K.,
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Chapter 13

Methods of Estimating Plant
Productivity and CO2 Flux in
Agro-Ecosystems – Liking
Measurements, Process Models, and
Remotely Sensed Information

Yoshio Inoue1,� and Albert Olioso2

1National Institute for Agro-Environmental Sciences, Tsukuba, Ibaraki 305-8604, Japan
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Abstract

Since both net primary production (NPP) and net ecosystem productivity (NEP) are the

time-integrated values of CO2 exchange at the interface of plant, ecosystem, and atmosphere,

continuous measurements of CO2 fluxes using methods such as eddy covariance may be the

most direct and accurate approach. However, the geospatial assessment of key variables such

as plant productivity and CO2 flux is essential because terrestrial ecosystems are quite

heterogeneous. Remotely sensed information plays a crucial role for scaling up such ecosys-

tem variables obtained by point measurements. Biophysical and ecophysiological process

models have also an important role in the assessment and prediction of plant productivity

and carbon flux, since they dynamically change interacting with many environmental var-

iables. Despite the significant potential of these two methods, they both have limitations in

ecological and ecophysiological applications; thus, synergistic linkage between the two meth-

ods is required. This chapter overviews the recent advancements in remote sensing of eco-

physiological variables as a basis for such applications, and conducts methodological

investigations on the synergy between remote sensing and process modeling based on some
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case studies. A case study based on airborne remote sensing data demonstrates the normal-

ized difference vegetation index (NDVI) among various vegetation indices and may be useful

enough for approximate assessment of plant productivity at an ecosystem scale. Another case

study also shows that the soil surface CO2 flux (SSFCO2
) is most closely related to the re-

motely sensed soil surface temperature, while air temperature is less well correlated and soil

temperature and soil water content are poorly correlated. Remotely sensed surface temper-

ature will provide useful information for investigation of CO2 transfer processes near the soil

surface, as well as for quantitative assessment of ecosystem surface CO2 flux (ESFCO2
). It is

clearly shown that a synergy of remote sensing and a soil–vegetation–atmospheric transfer

(SVAT) model; parameterization of the model with remote sensing signatures is promising for

estimating important ecosystem variables such as biomass growth and ecosystem CO2 flux.

This approach allows the effective use of infrequent and multisource remote sensing data.

Keywords: dynamic simulation; eddy covariance method; NPP; NEP; process
model; SVAT model; vegetation index

1 Introduction

The function of terrestrial vegetation in the global carbon cycle is well rec-
ognized; the net primary production (NPP) is the major part of carbon flux at
the interface between the atmosphere and terrestrial ecosystems such as
agricultural fields and forests. However, the quantitative dynamics of plant
productivity and CO2 flux between atmosphere and terrestrial ecosystems
remains elusive (Keeling et al., 1996; Schimel et al., 2000). Most ecological
investigations and assessments are based on site-specific measurements
assuming that they are representative of the area of interests, which often
cause serious errors (Kicklighter et al., 1994). The continuous measure-
ments of CO2 fluxes using methods such as eddy covariance or chamber
methods may be the most direct and accurate approach for assessment of
net ecosystem productivity (NEP). However, such site-specific observations
of CO2 flux have to be generalized by means of process modeling for geo-
spatial and dynamic assessment.

Therefore, it is crucial to use remote sensing information and numerical
process models for more quantitative and mechanistic assessment of those
important ecosystem variables since the terrestrial ecosystems and their
environments are both heterogeneous and dynamically changing.

A great number of studies have been conducted to relate the remotely
sensed spectral signatures to biomass, leaf area index (LAI), vegetation cov-
erage, and the fraction of absorbed photosynthetically active radiation (fA-
PAR), which will be overviewed later. One of the newest approaches is to use
a hyperspectral reflectance index, which is based on photochemical processes
in chloroplast. It may be directly related to the photosynthetic capacity of
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vegetation (Peñuelas and Inoue, 2000). On the contrary, the soil CO2 flux
from vegetated land surfaces has been little related to remotely sensed in-
formation yet. It is still needed to explore significant relationships between
remotely sensed signatures and biophysical ecosystem variables at various
scales. One of the most attractive aspects of numerical process modeling is to
describe the interactions between soil, plant, and atmosphere quantitatively
as well as to predict the ecosystem functioning under different conditions.

Nevertheless, these powerful methods have some limitations in ecolog-
ical and geophysical applications. Remote sensing observations are basically
instantaneous, and require biophysical interpretations. Models require a
number of input data, but they are often unavailable at geospatial basis.
These limitations hamper operational and reliable assessments. Therefore,
the synergistic linkage of these two methods seems most promising by fa-
cilitating and compensating each other. The use of fAPAR in a simple
mechanistic model (e.g., Monteith, 1977) is one of the most conventional
approaches for rough assessment of NPP at various scales using remote
sensing (e.g., Potter et al., 1993; Maisongrande et al., 1995; Ruimy et al.,
1996; Veroustraete et al., 1996). Both optical and microwave information is
useful for estimating the aboveground characteristics of vegetation such as
LAI and biomass. However, far more accurate, dynamic, and comprehensive
methods are desirable for both scientific and operational purposes.

Thus, in this chapter, we first overview the state-of-the-art in remote
sensing of ecophysiological variables. Second, we discuss the possible link-
ages between remote sensing and process-based modeling in estimating
plant productivity and ecosystem CO2 flux. Third, we investigate the rela-
tionship between remotely sensed signature and soil surface CO2 flux
(SSFCO2

). Fourth, the performance of synergy between remote sensing and
biophysical and ecophysiological models is examined on the basis of some
case studies. All case studies are based on comprehensive data set of soil,
plant, atmospheric, and remote sensing measurements.

2 Remote Sensing of Ecophysiological
Parameters as Related to Plant Productivity and
Carbon Cycle

Remote sensing methods have a number of advantages in monitoring veg-
etation and environmental conditions, since useful signatures can be remotely
detected at wide-area, nondestructive, and real-time bases. Sensor technology
allows invisible signals between near-infrared and microwave wavelengths to
be detected from a distance. Fig. 1 shows the typical reflectance spectra in
solar domain for various components of agro-ecosystem surfaces. It is clearly
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shown that each object has unique reflectance spectra, and reflectance sig-
natures at specific wavelengths are strongly related to biophysical properties
of targets such as green biomass. Hence, remotely sensed data have been used
for a variety of agricultural and ecological applications, such as yield predic-
tion, stress detection, monitoring of leaf area and biomass growth, disease
diagnosis, and so forth. Relationship between remotely sensed signatures and
ecophysiological variables are useful basis for geospatial assessment of plant
productivity and CO2 flux.

2.1 Biomass, Leaf Area Index, and Fraction of Absorbed
Photosynthetically Active Radiation

Voluminous papers have reported significant relations between remotely
sensed spectral signatures and biomass, LAI, vegetation coverage, and the
fAPAR for various plant species. The most common approach involves an
empirical regression between those variables and vegetation indices that use
a small number of spectral bands. The simple ratio of reflectance at near-
infrared and red wavelengths (rNIRXrRed), and the normalized difference
vegetation index (NDVI: [rNIR�rRed]X[rNIR+rRed]) are often used, but also a
variety of vegetation indices have been proposed for more reliable and wider
application of such semiempirical relations as discussed in Section 4. Since
vegetation indices are affected by both plant and measurement conditions,
field validation studies for various plant species, locations, and environ-
mental conditions are needed to derive robust semiempirical relations (e.g.,
in relation with fAPAR; Daughtry et al., 1983; Steinmetz et al., 1990; Inoue
and Iwasaki, 1991; Pinter et al., 1993). Despite obvious limitations, spectral
indices are simple and useful if they are used within a range of validation.
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Figure 1: Typical reflectance spectra for agro-ecosystem surfaces (a), and
for paddy fields with different biomass (b). Abbreviations B, G, R, and NIR
mean blue, green, red, and near-infrared wavelengths, respectively. Biomass
of rice paddies decreased in order from A to F (For colour version, see Colour
Plate Section).
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Since microwave signatures are not affected by cloudy conditions, syn-
thetic aperture radar (SAR) is a powerful sensor, especially in monsoon Asia.
A number of reports have shown that the microwave backscattering coeffi-
cient correlates with biomass and LAI (Ulaby et al., 1984; Bouman and
Hoekman, 1993; Le Toan et al., 1997), although experimental results and
the interpretation of microwave backscatter information have not always
been consistent, presumably because the microwave backscatter from veg-
etated surfaces is affected by several factors, including plant biomass,
structure, and soil moisture and roughness (Brisco and Brown, 1998). A
recent comprehensive study based on season-long daily measurements us-
ing a multifrequency, multipolarization, and multiangular sensing system
showed consistent relations of the backscattering coefficients with biomass
and LAI for a rice canopy (Inoue et al., 2002). It was clearly shown that C
and L bands were most effective in estimating LAI and above-ground bio-
mass, respectively.

2.2 Photosynthesis, Transpiration, and Physiological Stress
Response

Since transpiration is an important part of a plant leaf’s energy budget,
remotely sensed leaf or canopy temperatures provide useful information
about transpiration and, consequently, stomatal behavior. A number of ex-
perimental studies have shown that leaf and canopy temperatures have
significant relationship with transpiration, stomatal conductance, and pho-
tosynthesis (Jackson et al., 1981). Using infrared thermal imagery, Inoue
(1990) clearly demonstrated that canopy temperature responds sensitively
to stomatal conductance, transpiration, and photosynthetic rates. The mean
surface temperature in the water-stressed canopy was consistently higher
than in the nonstressed one, which was closely linked with physiological
depression. Any physiological depression caused by water deficiency, dis-
ease, insects, or other matters related to stomatal conductance and transpi-
ration can be detected by remotely sensed canopy temperature (Nilsson,
1991). Nevertheless, the applicability of canopy temperature alone is lim-
ited, because it is also affected by air temperature, solar radiation, vapor
pressure deficit, and wind speed. Thus, the first simple approaches for wider
applicability involved canopy–air temperature differences, such as
stress–degree–days and the crop water stress index (CWSI), which further
incorporated the effect of vapor pressure deficit (Jackson et al., 1981). The
CWSI was designed to express the degree of water stress as a number be-
tween 0 (no stress) and 1 (severe stress). The operational applicability of
CWSI has been evidenced by commercial instruments and several applica-
tion studies using airborne and space-borne thermal imagery (Moran and
Jackson, 1991). A widely used approach, often using AVHRR data, considers
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the ‘‘simplified relationship,’’ which was proposed by Seguin and Itier (1983)
to relate linearly evapotranspiration to the difference between surface tem-
perature and air temperature. Another simple approach relating canopy
temperature together with a vegetation index to canopy transpiration has
been proposed for estimating plant stress conditions (Moran et al., 1994;
Inoue and Moran, 1997). The other combinations of remotely sensed infor-
mation and process-based modeling are discussed in detail in the Section 2.3.

Vegetation indices have also been related semiempirically to stomatal
conductance and photosynthesis (e.g., Sellers, 1987). Another interesting
approach involves the use of hyperspectral signatures to estimate photo-
synthetic activity directly; one such signature is chlorophyll fluorescence,
which can be remotely induced and detected (e.g., Méthy et al., 1994). Chlo-
rophyll fluorescence in the red and near-infrared regions may be a good
indicator of the capacity of photosynthetic electron transport, because flu-
orescence is emitted mainly from photosystem II(PSII). However, no relation
between fluorescence, gross photosynthesis, and photosynthetically active
radiation (PAR) intensity has been established (Rosema et al., 1998). Yet
another approach is to use the spectral reflectance at a wavelength of ap-
proximately 530 nm, which is related to both the photosynthetic efficiency
(photosynthesis/incident photon flux density) and the relative increase of
zeaxanthin in the xanthophylls cycle pool to avoid photoinhibition (e.g.,
Filella et al., 1996). A high correlation between the normalized reflectance at
531 nm and CO2 uptake has been found at the canopy scale (Peñuelas and
Inoue, 2000). This relation may be useful for remote and direct estimation of
photosynthetic activity.

2.3 Water, Chlorophyll, and Nitrogen Contents

Water and nitrogen are the major constraints for plant productivity. Since
water has a specific absorption spectrum, reflectance spectra relate to water
content or to relative water content (RWC), especially in shortwave infrared
spectral regions (e.g., Thomas et al., 1971; Inoue et al., 1993). Reflectance at
1,430 and 1,910 nm, the strong absorption bands of water, and at 1,650 and
1,200 nm was well correlated with leaf water content and RWC. The first
derivative at 1,121 nm and the spectral shift at approximately 2,010 nm were
also closely related to leaf water status (Inoue et al., 1993). The ratio of
reflectance at 970 nm (r970) to r900 was closely correlated with the water
condition at leaf and canopy scales (Peñuelas and Inoue, 1999). Plant pig-
ments, such as chlorophyll and carotenoids, also have specific absorption
spectra, which play essential roles in the photochemical cycle in plant leaves
(Inoue and Peñuelas, 2001). Since the chlorophyll strongly absorbs red light
and reflects green, the reflectance at 675 and 550 nm can be used to deter-
mine chlorophyll content. Reflectance at these wavelengths is also used to
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estimate nitrogen stress, which is highly correlated with the chlorophyll
content of green leaves. The position of the maximum slope in the increase of
reflectance from red to near-infrared was found to shift toward blue with
decreasing chlorophyll content (Filella and Peñuelas, 1994). Inada (1985)
showed that the spectral reflectance ratio r800/r550 is the most effective
index for estimating the leaf chlorophyll content of rice. However, r800/r550
was effective at a canopy scale only when measurements were taken at an
oblique viewing angle under cloudy (diffusive light) conditions (Takebe et al.,
1990); canopy nitrogen content correlated poorly with r800/r550 when it was
measured at an angle perpendicular to the canopy (Inoue et al., 1998, 2002).

The total nitrogen content of a canopy can be estimated using visible and
near-infrared wavelengths such as r480, r620, and r840 (Shibayama and
Akiyama, 1986), and estimates can also be improved by using shortwave
infrared wavelengths, such as r1,650 and r2,200 (Inoue et al., 1998). Based
on their simulation study, Daughtry et al. (2000) proposed that the slope of
rNIR/rGreen regressed on rNIR/rRed and is useful for estimating leaf chloro-
phyll concentration at a canopy scale. Yoder and Pettigrew-Crosby (1995)
reported that r2,132 contributes significantly to estimation of nitrogen in
maple seedlings, and suggested that the spectral region between 2,000 and
2,200 nm s generally useful for this purpose, although exactly how useful it
may be remains unclear, especially at the canopy scale. The great contri-
bution of this spectral region is probably because the synthesis and decom-
position of enzymes and relative increases in lignin and cellulose are
coupled with plant growth, nitrogen supply, and senescence. However, fur-
ther detailed analyses based on hyperspectral measurements are needed to
clarify this contribution. The spectral region from 2,000 to 2,200 nm is also
closely related to plant litter cover on the soil surface due to the cellulose
absorption feature at 2,100 nm (Nagler et al., 2003), which may be applied to
quantitative assessment of plant litter.

3 Methodology of Synergizing Remotely Sensed
Information and Biophysical and
Ecophysiological Process Models

The advantage of remote sensing is that signatures over broad electromag-
netic domains can be detected on remote/nondestructive, wide area, or real-
time bases, while the surrounding issue is that measurements are usually
instantaneous, directional, and infrequent, and must be converted to bio-
physically meaningful variables. Conversely, the advantage of process mode-
ling is that numerical models can take account of multiple variables, and
can provide dynamic simulations as well as predictions under imaginary
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situations, while the issue is that experimental determination of model pa-
rameters and model validation are not easy, and that it is tedious or im-
possible to gather the necessary input data. Hence, one of the most
promising approaches for effective monitoring and accurate prediction of
plant production processes is the synergy of remote sensing and process
models, which can reinforce each other.

A variety of approaches for relating remotely sensed signatures to plant
and ecosystem variables are summarized in Fig. 2(a). One of the most widely
used approaches is the simple regression of target variables on remotely
sensed signatures, such as spectral reflectance, thermal temperature, and
microwave backscattering coefficients (Fig. 2A). Several of these relations
are reviewed in Section 2.

Nevertheless, physical processes such as spectral reflection, thermal emis-
sion, and scattering should be taken into account to extend the applicability
and to improve the accuracy of relations between remotely sensed signatures
and target variables. The first type of models to be linked with remotely sensed
signatures are radiative transfer models, which represent physical processes
such as spectral reflectance/absorption, thermal emission, and microwave
scattering. Examples of such models in the optical domain are BRDF (bidirec-
tional reflectance distribution function) models, which can take into account
sun angle, sensor angle, and some other spectral parameters (Qi et al., 1995).
Detailed approaches may include the effect of the complex architecture of plant
stands, such as the presence of stems, fruit organs (Weiss et al., 2001) as well as
the 3D distribution of canopy elements such as tree crowns and bushes (Gas-
tellu-Etchegorry et al., 1999). The reflectance model SAIL is a well-known
process model in the optical domain for plant canopy (Verhoef, 1984). Optical
reflectance model at a leaf scale such as PROSPECT (Jacquemoud and Baret,
1990) and LIBERTY (Dawson et al., 1998) have been developed for broad and
coniferous leaves, respectively. Remotely sensed signatures can be related more
systematically to ecophysiological plant variables by inverting these models
(see, for examples, recent studies by Combal et al. (2003)). For the thermal
domain, the energy budget model and mass and energy transfer models are
essential for describing thermal emission (Olioso et al., 1999). The backscat-
tering process of microwaves by a plant canopy can also be described by some
scattering models (Attema and Ulaby, 1978; Prevot et al., 1993; Wigneron et al.,
1999), which take account of soil, plant, and sensor conditions such as LAI, leaf
size, plant moisture, soil moisture, roughness, and incident angle. Plant eco-
physiological variables can be estimated by inverting the model, based on the
remotely sensed signatures (Fig. 2B).

Another type of process models to be linked with remote sensing informa-
tion are the canopy functioning models, such as the energy budget model, plant
growth model, and the soil–vegetation–atmospheric transfer (SVAT) model.
The leaf or canopy temperature is determined as a part of the energy budget in
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the soil–plant–atmosphere system, where energy, water, CO2, and ecophysio-
logical conditions all fluctuate. Hence, temperature data from infrared imagery
provides more quantitative and reliable information when they are used as
inputs into ecophysiological models or stress indices (Fig. 2C). Inoue (1987) and
Inoue et al. (1990a, b) estimated leaf transpiration and stomatal resistance
remotely, using infrared leaf temperatures. Canopy transpiration has been well
estimated by a combination of remotely sensed canopy temperatures and an
energy- and mass-transfer model under various soil–water conditions (Inoue
et al., 1994).

Canopy functioning models can simulate plant growth or fluxes in vege-
tated surfaces dynamically using meteorological inputs without remote sensing
data (Fig. 2E). In addition, these functioning process models can utilize re-
motely sensed signatures (Fig. 2C), or plant parameters estimated by remote
sensing (Fig. 2D), as inputs; they can also be calibrated using remote sensing
information to provide more realistic estimates (Fig. 2F, G). Further deep
linkage between remote sensing and models is presented in Fig. 2(b). Remote
sensing signatures can be simulated by radiative transfer models using output
from the functioning models (Fig. 2H–J). The remotely sensed measurements
are then compared with simulated signatures to fine-tune the functioning
models so that they can simulate more realistic signatures (Fig. 2K–N), which
in turn yield more realistic estimates of ecophysiological variables (Fig. 2M, O).
Maas (1988) and Bouman (1992) conducted the first practical studies of this
type of synergy. They showed the need for within-season calibration of sim-
ulation models, and demonstrated that this method effectively reduced model
complexity, simplified input requirements, and made the model more opera-
tional. This synergistic approach may be a practical and effective method for
linking instantaneous remote sensing data with continuous growth simulation,
because process models are based on biological foundations and yield robust
patterns of growth and development. This approach has an advantage over the
direct use of remotely sensed data as inputs and the use of correlations between
accumulated remotely sensed indices (e.g., SNDVI) and productivity, because
both the latter two require frequent remote sensing observations (e.g., Wiegand
et al., 1986).

In general, there are two levels of synergy for this approach; one ap-
proach uses remote sensing data to estimate a few key plant variables (e.g.,
LAI and evapotranspiration), which are then used to recalibrate the model
(e.g., Moran et al., 1995) (Fig. 2B or A with EFG). This first approach can
utilize a wide range of vegetation indices, regression models, and model in-
versions to estimate plant variables such as LAI and above-ground biomass,
which can then be used to recalibrate simulation models. This recalibration
may be done by tuning model parameters, so that simulated variables such
as LAI are in agreements with their remote sensing estimates. Another pos-
sibility may be to simply correct the time course of simulated variables by
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reinitializing the model each time remote sensing estimates are available
(Olioso et al., 2002).

Another approach is to use the outputs of a plant growth model, such as
LAI and leaf-angle distribution (LAD), to calculate the radiative features
(e.g., spectral reflectance and microwave backscatter) of the plant canopy by
using a radiation transfer model such as SAIL (Verhoef, 1984; Olioso et al.,
2001; Weiss et al., 2001). Then, simulated and measured radiative features
are compared to recalibrate the plant growth model (Bouman, 1992; Clevers
et al., 1994; Olioso et al., 2002) (Fig. 2H–K, N, O). This second approach
would be more attractive, provided a plant model is able to produce the
output of several geometrical and spectral variables for a canopy that are
required by radiation transfer models, and also that the spectral model is
well calibrated to yield accurate spectral features of the canopy. To simulate
canopy reflectance, Moulin et al. (1998) used the output LAI from a growth
model for sugar beet (SUCROS) as the input to a canopy reflectance model
(SAIL). The parameters of SUCROS were then optimized to minimize the
difference between the simulated and measured reflectance. This approach
proved useful for predicting sugar beet production at a regional scale. The
recalibration approach may be more robust and operational than others,
because the process model can provide some normal simulation results
based on weather and plant inputs, and because intermittent or infrequent
remote-sensing observations can be used efficiently to adjust the model pa-
rameters and to rerun the simulations using modified parameters. The
tuning of model parameters is usually based on iterative optimization to-
ward the minimized residual difference between observed and simulated
data (Moulin et al., 1998; Olioso et al., 2002).

4 A Simple Method for Estimating NPP Using
Remotely Sensed Information as Input

4.1 Theoretical Background

In terrestrial ecosystems, photosynthesis by vegetation is the major sink of
atmospheric CO2, while microbial respiration is the major source of CO2 into
the atmosphere. Since these two processes behave independently under
changing environmental conditions, it is ideal to estimate both the net pho-
tosynthesis and the microbial respiration separately at high temporal and
geospatial resolution for quantitative assessment of carbon budget. Never-
theless, this has never been realized to date even with the state of art in
ecological, geo-scientific, and mathematical achievements.

Thus, for the moment, the NPP and net ecosystem production (NEP) are
of the major concern in the context of the terrestrial carbon budget. These
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two variables are assumed to represent the long-term carbon budget for the
above ecophysiological processes. The NPP is defined as the time-integrated
value of net photosynthesis An ( ¼ Gross photosynthesis Ag – Respiration
Rv). The NEP is defined as the time-integrated value of Ag – microbial res-
piration Rm. The term for integration is usually 1 year. One of the most
preliminary and tedious methods to estimate NPP is to weigh the above- and
underground plant biomass as well as litter based on sampling method.
Sampling of fine root may be the most difficult procedures. Change of carbon
content in the soil has to be measured at the same time for NEP estimation.

In the long history of agricultural sciences, plant ecophysiological proc-
esses, i.e., the interactions of plant, soil, and atmosphere have been inten-
sively studied for efficient production of high-quality products. A number of
growth models have been proposed for better understanding of these inter-
actions and for dynamic simulation of plant growth under changing soil and
atmospheric conditions (e.g., Penning de Vries and van Laar, 1982; Hanks
and Ritchie, 1991; Brisson et al., 1998). Therefore, these scientific achieve-
ments can be applied to the assessment of NPP. Since the photosynthesis is
driven by the light energy, the light absorption processes within a canopy
has been investigated in detail (Monsi and Saeki, 1953). Meanwhile, a sim-
ple but robust relationship between crop dry matter (DM) production and
PAR intercepted or absorbed by the crop canopy has been reported (Shibles
and Weber, 1966; Monteith, 1977; Gallaghter and Biscoe, 1978). On the
basis of this simple linear relationship, NPP can roughly be expressed by a
simple model as follows:

NPP ¼ RUE� APAR ¼ RUE� fAPAR� PAR (1)

where PAR is the photosynthetically active radiation, APAR the PAR ab-
sorbed by a canopy, RUE the radiation use efficiency (conversion coefficient
of absorbed PAR to DM), and fAPAR the fraction of APAR to PAR, respec-
tively. The fAPAR has long been expressed as a function of LAI in plant
growth models,

fAPAR ¼ 1� r� ð1� r0Þ exp½�ð1�mÞkLAI�Þ (2)

where r and r0 are the reflectance of canopy and soil background, respec-
tively; m is the scattering coefficient; and k the extinction coefficient of the
canopy to shortwave solar radiation. This relationship is still commonly
used in a number of growth simulation models.

On the other hand, remote sensing studies have provided a significant
relationship between the spectral reflectance by optical remote sensing and
above-ground green biomass or LAI (e.g., Tucker et al., 1983; Asrar et al.,
1985; Shibayama and Akiyama, 1989; Inoue et al., 2000). Since chlorophyll
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pigments strongly absorb red light and reflect/transmit near infrared light,
simple spectral indices using these two reflectance values (rRed and rNIR,
respectively) have a near-linear relationship with the light intercepted or
absorbed by plant canopies (e.g., Daughtry et al., 1983; Asrar, 1989; Baret
and Guyot, 1991). It is further investigated that such spectral indices would
be more useful than LAI (Inoue et al., 1998). The normalized difference
vegetation index,

NDVI ¼
rNIR � rRed

rNIR þ rRed

(3)

is one of the most commonly used spectral indices, while a variety of veg-
etation indices VI have been proposed for more reliable and wider appli-
cation of such semiempirical relations (e.g., Huete, 1988; Qi et al., 1994;
Govaerts et al., 1999; Haboudane et al., 2002).

By replacing the equation (2) with equation (3),

fAPAR ¼ aVI (4)

NPP can be expressed by,

NPP ¼ RUE� APAR ¼ aRUE� VI� PAR (5)

where a is the proportionality constant.
The theoretical foundation of VIs has been well examined (e.g., Asrar,

1989; Baret and Guyot, 1991; Myneni et al., 1995; Qi, 2001).
Despite obvious limitations, equation (4) is widely used for NPP esti-

mation using remote sensing data since the spectral indices are simple and
useful if they are used within a range of validation. Since vegetation indices
are affected by both plant and measurement conditions, field validation
studies for various plant species, locations, and environmental conditions
are needed to derive useful and robust semiempirical relations (e.g., in re-
lation with fAPAR; Daughtry et al., 1983; Steinmetz et al., 1990; Inoue and
Iwasaki, 1991; Pinter et al., 1993). In this approach, one should be careful
about the validation of RUE and its sensitivity to the other environmental
conditions.

4.2 Estimating NPP at an Ecosystem Scale based on fAPAR
from Remotely Sensed Information – A Case Study

A comparative study on the relationship between the fAPAR of various plant
canopies and seven vegetation indices was conducted based on airborne re-
mote sensing data (Inoue et al., 2001). During this experiment, well-calibrated
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airborne optical measurements at fine spatial resolution were obtained si-
multaneously with ground-based hyperspectral and detailed plant measure-
ments. This may be a useful case study that investigates the realistic
relationship between vegetation indices and fAPAR, since there are few ex-
perimental studies at an ecosystem or landscape scales based on accurate
ground-based data and airborne remote sensing data.

4.2.1 Experimental Site

An experimental study was conducted in agricultural fields at the National
Agricultural Research Center (Tsukuba, Japan; 361010N, 1401070E, 25 m
above sea level) and surrounding farmland areas. The size of the whole area
was approximately 60 km2, where a wide range of crop fields (rice, soybean,
corn, peanut, etc.) and natural vegetation areas (tree, turf grass, bush, etc.)
were included.

4.2.2 Airborne and Ground-Based Remote Sensing Measurements

An airborne multispectral scanner (AZM, Nakanihon-kouku, Co. Inc., Japan)
was used for remote sensing of the study area. Airborne spectral images were
taken at eleven optical bands (474, 553, 656, 675, 848, 1,089, 1,193, 1,623,
2,044, 2,135, and 2,207 nm) and one thermal band (9.3mm) from the altitude
of 1,000 m around midday. The spatial resolution on the ground was 1.25 m.
The digital images were converted to reflectance images using calibration
sources. No atmospheric correction was made because the sky condition was
perfectly clear and humidity was low (49%). Ground-based hyperspectral re-
flectance and surface temperatures were measured using a portable radiom-
eter (FS-FR1000, ASD, USA) and infrared thermometers (Model4000,
Everest Inc., USA), respectively. The reflectance spectra (380–2,500 nm,
1 nm resolution) were taken over more than 50 different uniform target areas
including rice, soybean, corn, grassland, turf, vegetables, bare soil, asphalt,
concrete, water pond, river, etc. Infrared surface temperatures were meas-
ured for 10 different uniform targets (bare soils, rice canopies, water pond,
asphalt, concrete, etc.). Emissivity was assumed to be 0.98 for all targets.
Temperature data for the time window of airborne observation were averaged
and used for calibration.

4.2.3 Measurements of fAPAR and Plant Parameters

Plant data such as LAI and biomass were estimated from destructive meas-
urements based on plant sampling. The LAI was measured using an optical
leaf area meter (AAM8, Hayashi-denkoh Co. Ltd., Japan) for green leaves
only. Wet and dry biomass was measured for green leaves, stems, roots, and
senescent plant parts, respectively.

Yoshio Inoue and Albert Olioso308



The fAPAR was estimated from the budget of four components of the
photosynthetic photon flux density (PPFD) measurements, i.e., downward
and upward over and below canopies. These PPFD values were measured
using a meter-long PPFD sensor (LI-191SA, Li-Cor Inc., USA) several
times, and were averaged so that they were representative for each canopy.
The fAPAR data were taken at near the time of remotely sensing meas-
urements; these data were not daily average values of fAPAR, but the in-
stantaneous values near midday. It is well known that the value of fAPAR is
not consistent during a day but relatively high near sunrise and sunset
periods; nevertheless, the midday fAPAR may be representative enough for
the daily average of fAPAR, because they are highly correlated with each
other due to extremely low solar radiation during those periods of low sun
elevation.

4.2.4 Estimating fAPAR and Plant Productivity from Spectral
Indices

From the data for 107 different canopies, a close linear relationship was
obtained between the fraction of intercepted radiation by a plant canopy
(fIPAR) and fAPAR:

fAPAR ¼ 0:954fIPAR r2 ¼ 0:997ðn ¼ 107Þ (6)

These two parameters are both often used in simple process models, but it
should be noted that the fIPAR is smaller than fAPAR by 5%.

The relationship of fAPAR with the seven different vegetation indices,
NDVI, RVI, SAVI (Huete, 1988), MSAVI (Qi et al., 1994), WDVI (Clevers,
1989), GEMI (Pinty and Verstraete, 1992), and EVI (Huete et al., 1999) was
compared. Definitions for VIs are as follows:

RVI ¼
rNIR

rRed

(7)

SAVI ¼ ð1þ LÞ
rNIR � rRed

rNIR þ rRed þ L
L ¼ 0:5 (8)

MSAVI ¼ ð1þ LÞ
rNIR � rRed

rNIR þ rRed þ L
(9)

with a optimized value of L

WDVI ¼ arNIR � rRed a ¼ coefficient (10)

GEMI ¼ Zð1� 0:25ZÞ �
rRed � 0:125

1� rRed

(11)
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Z ¼
½2ðr2

NIR � r2
RedÞ þ 1:5rNIR þ 0:5rRed�

ðrNIR þ rRed þ 0:5Þ

EVI ¼ 2:0
rNIR � rRed

1þ rNIR þ 6rRed � 7:5rBlue

(12)

The fAPAR was best correlated with NDVI (Fig. 3), which was of better
linearity than the other VIs; RVI (r2

¼ 0.55), SAVI (r2
¼ 0.73), MSAVI

(r2
¼ 0.62), WDVI (r2

¼ 0.61), GEMI (r2
¼ 0.67), and EVI (r2

¼ 0.68). The
regression equation for NDVI,

fAPAR ¼ 1:176NDVI� 0:145 r2 ¼ 0:84 (13)

agreed well with the following theoretically derived equation (Myneni and
Williams, 1994),

fAPAR ¼ 1:164NDVI� 0:143. (14)

Since the regression equation (13) was derived from a data set for 2 years
and for a wide range of plant canopies including crops, vegetables, and
woods, it will be a useful basis for various applications. The deviation of
individual data points from the regression line, i.e., error of the estimations
is large in some cases, but this is the inherent limitation to this simple
approach, which uses only two spectral wavelengths.
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Figure 3: Relationship between fAPAR of various plant canopies and veg-
etation index NDVI derived from airborne remote sensing images (For
colour version, see Colour Plate Section).
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On the basis of this equation, a fine resolution map of fAPAR was gen-
erated (Inoue et al., 2001), from which plant productivity could be estimated
at the landscape scale using measured RUE and PAR data. Since the daily
global solar radiation can be estimated from satellite imagery (GMS) at
5-km resolution, it is possible to estimate daily productivity for specific
biomes or areas. During the midsummer growing season, typical values of
the fAPAR for uniform areas of rice-paddies, upland-crops, and urban zone
were 0.3, 0.25, and 0.1, respectively. It is noticeable that the regional
average of fAPAR for the typical and uniform rice areas was not more than
0.3, while it was 0.8–0.9 for rice canopies with nearly maximum LAI on the
same day. The amount of carbon fixed into the area of rice-paddies, upland-
crops, and urban areas was estimated to be 2.8, 2.4, and 1.0 C g m–2 day�1.
For example, on a clear-sky day with the global solar radiation (RAD) of
25 MJ m–2 day�1, assuming that RUE is 2.66 gDM MJAPAR

�1 , PAR is 0.45 of
RAD, and carbon content is 0.449 of plant DM, respectively. The values for
cropped areas are comparable with typical values for crop species such as
300–400 gC m–2 y�1 (Goudriaan et al., 2001).

During the same experiment, the soil carbon content in agricultural
fields was found to be highly correlated with spectral reflectance at 480
and 560 nm (r2

¼ 0.63; range of carbon content: 0.20–0.61% DM) based on
the same data set. This result suggests that the annual change in the soil
carbon content may be estimated from remotely sensed spectral reflectance.
Nevertheless, further research is needed for more accurate and robust
estimation.

5 Measurement of Ecosystem CO2 Flux as
Related to Remotely Sensed Information –
A Case Study

Continuous measurement of ecosystem CO2 flux leads the most direct es-
timation of CO2 exchange at the interface between ecosystem and atmos-
phere. Both NPP and NEP are also estimated as time-integrated values of
the CO2 flux. Hence, a number of scientists are continuing on-site meas-
urements of CO2 flux in various types of ecosystems using up-to-date in-
strumentations such as the eddy covariance method (e.g., Dugas, 1993;
Miyata et al., 2000; Widén, 2002). Since the ecosystem CO2 flux measured by
eddy covariance method consists of net photosynthesis and microbial res-
piration that behave independently, microbial CO2 flux from the soil surface
has to be estimated separately. The SSFCO2

has been measured by various
types of chambers (e.g., Norman et al., 1997). Yet, the separation of CO2

from plant root and soil remains one of the most difficult tasks to date.
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Anyhow, there is no doubt that such point measurements under some en-
vironmental conditions have to be representative of the ecosystem, as well
as to be generalized for wider applications.

Thus, the continuous measurements of CO2 flux and their linkage with
process modeling and remote sensing may be the most promising approach
for geospatial and dynamic estimation of CO2 exchange between ecosystems
and atmosphere. Such approach may be investigated only with a compre-
hensive data set of soil, plant, and atmospheric variables as well as con-
current flux and remote sensing measurements as in the following case
study. Hereafter, we designate the CO2 flux at the interface between the
atmosphere and ecosystem as ESFCO2

(ecosystem surface CO2 flux), which is
equivalent to the SSFCO2

(soil surface CO2 flux) under bare soil conditions.
By definition, the SSFCO2

consists of respiration of plant roots and micro-
organisms under vegetated conditions. We avoid using the conventional
term ‘‘soil respiration’’ since it includes respiration of both soil microorgan-
isms and plant roots under vegetated conditions.

5.1 Acquisition of a Comprehensive Data Set

5.1.1 Experimental Site

An experimental study has been conducted in agricultural fields at the Na-
tional Agricultural Research Center (Tsukuba, Japan; 361010N, 1401070E,
25 m above sea level) from 1995 to 2002. Two flat and uniform 4-ha fields
were used, which were surrounded by the similar type of cropped fields under
different management conditions. The soil was a humic volcanic ash soil
Andisol, which belongs to the Hydric Hapludands and is the major cultivated
soil for upland crops in Japan. The field capacity and wilting point for the top
20-cm layer were estimated to be 0.44 m3 m�3 (�6 kPa) and 0.275 m3 m�3

(�1.5 MPa), respectively. The mean carbon and nitrogen contents of the top-
soil (0–5 cm) were estimated to be 3.7% and 0.31%, respectively. Each field
has been used with the cropping pattern (soybean (Glycine max L.
Merr.)–rapeseed (Brassica napus L.)–forage corn (Zea mays L.)–wheat
(Triticum spp.)) for every 2 year. We mainly used the data set from 1996 to
1998 for this particular analysis. The annual mean air temperature and
annual total rainfall were 13.31C (1996), 13.61C (1997), and 14.91C (1998),
and 1,032 mm (1996), 972 mm (1997), and 1,536 mm (1998), respectively.

5.1.2 CO2 Flux Measurements

The CO2 flux over the field (ESFCO2
or SSFCO2

) was measured by the eddy
covariance method. The method has been widely used for the measurement
of CO2, water vapor, and sensible heat fluxes over plant canopies (Leuning
and Judd, 1996). We used an open-path eddy covariance system, the main
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components of which were a 3D sonic anemometer, a fast response infrared
gas analyzer, and a data logger. The sonic anemometer was used for meas-
uring the fluctuations of three components of wind speed, and virtual tem-
perature, while the fluctuations in CO2 and water vapor concentrations
were measured by the gas analyzer. Both sensors were of 10-Hz time res-
olution. A pair of sonic anemometer and gas analyzer–model DA600 (Kaijo
Co., Japan) with path length of 20 cm and model E009A (Advanet Inc.,
Japan) with 20 cm–was used for 1995–1998 period. These sensors were in-
stalled at the central part of the field so that the height of the open path was
at 1.5 m above the ground. The horizontal distance between the open paths
of sonic anemometer and gas analyzer was 15 cm. Data were recorded to the
data logger CR23X (Campbell Scientific Inc., USA), and CO2 flux as well as
H2O and sensible heat fluxes were calculated from the covariance between
vertical wind speed and each components for every 20 min. The CO2 flux
derived from the covariance was corrected based on the method described in
Webb et al. (1980). All CO2 flux data are defined as positive when they are
coming from the surfaces toward the atmosphere. Owing to inherent lim-
itations of the eddy covariance method, such data obtained under rainy
conditions, and calm conditions (average wind speed at 20 min basis
o0.3 m sec�1) were eliminated, and hourly average values were calculated
for the analyses.

5.1.3 Remote Sensing Measurements

Surface temperatures of the field were measured remotely using three in-
frared thermometers (Model4000, Everest Inc.). One of them was installed
at the height of 3 m, and the other two were attached to booms, the height of
which was adjustable. Their height was fixed to 1.5 m during bare soil con-
ditions, but adjusted so that plant leaves were targeted during cropped pe-
riods. All three sensors were set at nadir-looking angle during bare soil
periods. The field of view of sensors was 151. The emissivity was assumed to
be 0.98, since the emissivity of the plants and soil was in the range of
0.95–0.99 (Olioso, 1995). Data from the infrared thermometers were ac-
quired by the data logger at 1-sec rate and averaged for every 20 min.

Spectral reflectance measurements were periodically obtained over the
ecosystem using a hyperspectral radiometer and a hand-held radiometer.
The hyperspectral one (FSFR1000, ASD) covered the wavelength range from
350 to 2,500 nm at 1 nm resolution. The hand-held radiometer (Opto-
Research, Co. Ltd., Japan) was equipped with seven bands from the visible to
short-wave infrared wavelength regions (560, 660, 830, 1,100, 1,200, 1,650,
and 2,200 nm). Spectral observations were made from a height of 2 m above
the canopy at the nadir-looking angle. The reflectance factor was calculated
as a relative value to the reflectance of a BaSO4 standard panel, which was
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coated with Kodak Analytical Standard White Reflectance Coating (]6080) to
about 1.0 mm thickness (Inoue et al., 1998). The white panel was calibrated
using the commercial reference board, Spectralon (Labsphere, USA).

5.1.4 Micrometeorological and Plant Measurements

Air temperature and relative humidity were measured using a probe
HMP45C (Campbell Scientific Inc.), which contains a platinum resistance
temperature detector and a capacitive relative humidity sensor. Wind speed
was measured using a three-cup anemometer model 03001 (Campbell Sci-
entific Inc.). Incident and reflected solar radiations were measured by
pyranometer CM3 (Kipp & Zonen, the Netherlands). Net radiation was
measured by three sensors: Q6 (REBS Inc., USA), CG3, and NR-Lite (Kipp
& Zonen). Photosynthetically active photon flux density was measured by a
quantum sensor LI-190SB (Li-Cor Inc.). Soil heat flux was measured by two
heat flux plates PHF-01 (REBS Inc.). Soil temperature was measured by an
averaging thermocouple probe TCAV (Campbell Scientific Inc.), which was
installed at depths of 5 and 10 cm below the soil surface. Volumetric soil
water content was measured using TDR probes (CS615, Campbell Scientific
Inc.) for the soil layers at the depths of 10, 20, and 30 cm at 20 min intervals.

Plant height, wet and dry biomass, and LAI were determined about
every 10 days by destructive sampling. Sampled plants were divided into
stems, green leaves, roots, and dead parts. The green leaf area was meas-
ured by an area-meter AAM8 (Hayashi-denkoh Co. Ltd.).

5.2 Dynamics of CO2 Flux Over Agricultural Field

Fig. 4 shows the typical seasonal changes of ESFCO2
and plant growth dur-

ing the soybean cropping and postcropping periods in 3 years. The ESFCO2

consists of photosynthesis and respiration of plant and microbial respira-
tion. The SSFCO2

represents the respiration of microorganisms alone during
the bare soil periods, while it includes root respiration under vegetated
conditions. During the early period with low LAI values, the ESFCO2

was
positive and the patterns of diurnal change were similar to those during the
postcropping period (bare soil conditions). The diurnal pattern of ESFCO2

during some selected periods is shown in Fig. 5. The diurnal trend was
apparently synchronized with those of solar radiation and air temperature.
On the Contrary, for the growth period with high LAI, the ESFCO2

showed
negative values due to CO2 uptake by plant photosynthesis during the
daytime, while it was positive during the nighttime. These measurements
were comparable with those in previous reports (e.g., Curtin et al., 2000),
and the trend of dynamic change seemed to reasonably represent the un-
derlying mechanisms involved in the emission and uptake of CO2.
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5.3 Soil CO2 Efflux and Remotely Sensed Surface
Temperature

As described in the previous section, CO2 efflux from the soil surface has
been expressed as a function of soil temperature, soil moisture, or air tem-
perature (Grant and Rochette, 1994; Maisongrande et al., 1995; Nakadai
et al., 1996). Nevertheless, since the activity of soil microorganisms is re-
lated to temperature, water, oxygen, and organic matter in the soil (Paul
and Clark, 1989), it may be related to remotely sensed data in the optical,
thermal, or microwave domains via information on the color, temperature,
and water content of the soil, as well as on vegetation coverage. The present
experimental study (Inoue et al., 2004) can be the first to report that remote
sensing information may be used directly to estimate the SSFCO2

.
Since it has been one of the important issues to quantify the dynamics of

the SSFCO2
, this study first focused on the relationship between remotely

sensed information and the ESFCO2
under bare soil conditions (¼ SSFCO2

).
The relationship of the SSFCO2

with air temperature, soil temperature, soil
water content, and remotely sensed surface temperature were investigated
based on their hourly average data (Fig. 6). Soil temperatures for the 5–10-cm
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layer obtained by the averaging thermocouple probe, averaged temperatures
from the three infrared thermometers, and volumetric soil water contents
measured by the TDR probe for the depth of 10 cm were used for the analysis.
Correlation coefficients are indicated in Fig. 6 for reference since no specific
curve was inferred from the data points. The remotely sensed surface tem-
perature had the highest correlation coefficient (r2

¼ 0.64; n ¼ 929) with the
SSFCO2

flux over the soil surface. The next highest was air temperature
(r2
¼ 0.28), and the other two had poor correlation (r2

¼ 0.01). The effect of
soil moisture on microorganism respiration or SSFCO2

has been reported to be
positive or negative, but there was no obvious relationship in the range of our
data set likewise in some previous reports (Wagai et al., 1998). The effect of
soil moisture may be obscured presumably because of two contrary roles in
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Figure 6: Relationship of SSFCO2
under bare soil conditions with (a) air
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Number of data for (b) was less than for the others because less availability
of soil moisture measurements (Inoue et al., 2004).
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the activity of soil microorganisms; soil moisture is required as it provides the
soluble part of organic matter to microorganisms, but increasing moisture
may have a negative effect on oxygen availability for microorganisms in the
soil pore space (Paul and Clark, 1989).

It was obvious that the SSFCO2
changes dynamically during a day due to

microenvironment such as soil and atmospheric conditions, which may be
most clearly detected by remotely sensed surface temperature. On the Con-
trary, the effect of soil moisture and soil temperature on the SSFCO2

was not
significant in our analysis, presumably because the analysis was based on
hourly data while they changed much slower than air and soil surface tem-
perature. In general, the time response is fastest in the soil surface tem-
perature and getting slower in air temperature, soil temperature, and soil
water content in this order. Therefore, soil temperature and soil water con-
tent might be better correlated with the SSFCO2

in long-term comparisons
(e.g. Nakadai et al., 1996). The time response of SSFCO2

depends upon the
reaction rate of microorganisms to temperature, moisture, and oxygen con-
centrations in the soil, as well as upon the physical processes of CO2 transfer
through the soil pore. The key factors in the physical processes are the
differential of CO2 concentration between the atmosphere and soil pore, as
well as the differential of air pressure between them. The pressure differ-
ential is affected by air temperatures near the soil surface and within the
soil, wind speed (especially, gustiness), rainfall, and soil compaction. Under
open field conditions, these conditions all affect the dynamic change of
SSFCO2

, which must be the major reason for the data scatters in figures.
Nevertheless, the high correlation between soil surface temperature and
SSFCO2

suggests that the CO2 transfer from the soil surface is strongly
related to the surface temperature of the soil, presumably due to the
changes in microbial activity, air temperature in the soil pore near the sur-
face, and turbulent conditions adjacent to the soil surface. Daily or monthly
averages of soil temperature (or air temperature) are sometimes used for
rough estimation of SSFCO2

at regional or global scales (e.g. Potter et al.,
1993; Maisongrande et al., 1995). However, information on the dynamic
change of SSFCO2

at high temporal resolution is useful for more mechanistic
understanding of the biophysical processes in the field, as well as for more
accurate estimation of ESFCO2

using dynamic simulation models such as
SVAT models (Olioso et al., 2001) where the temporal resolution is often
shorter than 1 h.

Although the SSFCO2
depends on several environmental and soil-related

parameters as discussed previously, it is well known that temperature is the
dominant factor determining the activity of microorganisms, and it was ob-
vious that the soil surface temperature is most highly correlated with the
SSFCO2

. Hence, we applied the following Q10 function for more generalized
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understanding and prediction:

SSFCO2
¼ aQ

ðTIR�20Þ=10
10 � b (15)

where SSFCO2
is the CO2 flux over the soil surface, Q10 is the temperature

coefficient, TIR is the remotely sensed surface temperature (1C), and a and b
are parameters, respectively. The SSFCO2

was better estimated by the Q10

function from the remotely sensed surface temperature (r2
¼ 0.66,

RMSE ¼ 0.098) than by the single correlation (Fig. 7). The Q10 coefficient
was estimated to be 1.47, which was between the values for the physical and
biochemical reactions. The critical temperature at which the SSFCO2

ap-
proached zero was estimated to be 10.01C, which may be an apparent lowest
limit for the microbial activity. Some part of variation should also be caused
by experimental errors in both flux and temperature measurements. Nev-
ertheless, a large number of data from different seasons and years show that
the equation represents a robust relationship between the remotely sensed
surface temperature and the SSFCO2

under bare soil conditions. From a
theoretical point of view, the contents of both moisture and organic matter in
the soil would affect the SSFCO2

, which may be incorporated in the Q10 and
the two parameters (a and b). We attempted to include the effect of soil
water content in these coefficients, but no significant improvement was ob-
tained in the estimation of SSFCO2

.
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It is straightforward to estimate the soil surface temperature directly by
remote sensing under bare or sparely vegetated conditions, but vegetation
coverage may have to be known at the same time for wide area applications.
For this purpose, optical remote sensing data may be used; the average
value of NDVI for bare soil surfaces was 0.178 with a standard deviation of
0.027, while it exceeded 0.5 even at a low value of LAI such as 0.5. There-
fore, it may be possible to clearly detect bare (or sparsely vegetated) areas by
optical remote sensing.

6 Predicting Dynamic Change of Biomass and
Ecosystem CO2 Flux based on Synergy of
Remotely Sensed Data and A SVAT Model

6.1 The SVAT Model

We used a SVAT model, ISBA–Ags (Calvet et al., 1998). The original version
of the 0model, ISBA (interactions between soil, biosphere and atmosphere)
was developed at Météo-France for being implemented as a land-surface
scheme in atmospheric weather forecast model and GCM (Noilhan and
Mahfouf, 1996). This model solves the surface energy balance and the soil
water balance at a 5-min time step. The soil is described by one bulk res-
ervoir corresponding to the maximum root zone (including a thin surface
layer and regardless to actual root development). The main surface vari-
ables simulated by the model are the surface temperature, the soil moisture
in the root zone, and the energy fluxes. The ISBA–Ags has incorporated a
physiological submodel to describe photosynthesis and its coupling with
stomatal resistance at the leaf level, by adding three parameters; leaf life
expectancy, effective biomass per unit leaf area, and a mesophyll conduct-
ance. The stomatal conductance is expressed as a function of radiation,
temperature, vapor-pressure deficit, and soil moisture. The model requires
meteorological variables, albedo, minimum stomatal resistance, LAI and
vegetation height, soil texture, wilting point, and field capacity. The com-
puted net vegetation assimilation is used to feed a simple growth submodel
and to predict the density of the vegetation cover. Thus, the model is able to
simulate water budget, energy and mass fluxes (CO2, sensible and latent
heat fluxes, etc.), and LAI in response to changes in the environmental
conditions (precipitation, irrigation, water storage of the soil moisture in the
root-zone, atmospheric CO2 concentration, etc.).

The model was carefully parameterized with various data sets of com-
prehensive soil, plant, and meteorological measurements. We further com-
bined the quantitative relationships between canopy surface temperature
and SSFCO2

with the model (Inoue et al., 2003). We assumed that the surface
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temperature can be used for estimating SSFCO2
not only under bare or

sparsely vegetated conditions but also under densely vegetated plant con-
ditions because the soil surface temperatures get closer to the canopy tem-
perature accordingly with increasing vegetation coverage.

The performance of the model was excellent provided all necessary in-
puts and parameters were available; however, the simulation results by the
coupled model proved to be sensitive to the input variables such as initial
soil water content (Fig. 8), while the soil moisture condition is one of the
most important but difficult input variables to be estimated at regional
scales. That is, simulation results by the model alone are subject to uncer-
tainty if the thorough set of input data is unavailable.

6.2 Performance of the Synergy

The information on vegetation coverage or LAI is essential for estimating
both energy and CO2 fluxes from a plant canopy. We derived an intimate
relationship between LAI and NDVI from our experimental data for over 6
years (Fig. 9). The relationship was consistent and robust for the years. The
effects of the other plant conditions (leaf angle, etc.) and measuring con-
figurations (sun elevation, etc.) on the relationship were also examined us-
ing a canopy reflectance model SAIL+PROSPECT (Jacquemoud, 1993),
which indicated the reliability of the relationship. We incorporated this re-
lationship between NDVI and LAI into the SVAT model so that remote
sensing measurements can be used in the parameterization process. It was
confirmed that NDVI values could be accurately simulated as long as the
SVAT model was well calibrated. Consequently, the coupled model was able
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to simulate the surface temperature, NDVI as well as all components of
ecosystem CO2 fluxes and biomass growth.

As discussed in previous Section 6.1, the parameterization, that is, tun-
ing of a process model with remotely sensed data is probably the most effec-
tive approach to utilize infrequent and multisource remote sensing data for
estimating the dynamics of various ecosystem components (Olioso et al.,
2002; Inoue, 2003). The optimization procedures of the SVAT model using the
remotely sensed data are shown in Fig. 10. The structure of the SVAT model
is also schematically indicated. Remotely sensed signatures in optical, ther-
mal, and microwave domains are to be used to drive this parameterization
procedure. Fig. 11 shows an example result of parameterization where the
error between measured and simulated NDVI values was minimized through
iterative optimization of the initial soil moisture content; the NDVI is the key
parameter for optimization in this case. The initial soil moisture content was
assumed to be unknown since it is not routinely available but one of the most
important input data to properly run the SVAT model. After parameterizat-
ion, the NDVI was best simulated with the initial soil moisture of 0.456,
which was nearly equal to the independently measured value of soil mois-
ture, 0.46. The dynamic changes in SSFCO2

, net photosynthesis, and their
sum ESFCO2

, as well as the plant growth were also simulated for the entire
growth period. Seasonal changes of LAI and DM production agreed well with
those by destructive measurements. Simulated values of net photosynthesis
showed reasonable diurnal and seasonal changes during the entire period.
The simulated ESFCO2

was in good agreement with the independent meas-
urements of ESFCO2

by the eddy covariance method during both early and
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late growth stages. Simulation results of canopy transpiration and evapo-
transpiration also agreed well with those measurements by stem heat bal-
ance method and eddy covariance method, respectively. Furthermore, the
simulated and measured canopy surface temperatures agreed quite well
each other, which suggests that remotely sensed canopy temperature will
also be used for calibration of the SVAT model instead of optical measure-
ments. Optimization trials with various sets of remote sensing measure-
ments suggested that a set of only a few remote sensing measurements could
have a significant effect on improvement of simulation results.

Model for 
RS signature 

Water stress LAI

Stomatal response
Leaf photosynthesis 

Canopy phtosynthesis

Energy balance
Water balance

Active biomass
Leaf area growth 

Anc

gs, An

SVAT model
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of error 
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Figure 10: Structure of the SVAT model and the procedure for parameter-
ization of the model using remotely sensed signature. The final output re-
sults (bottom) can be derived after tuning through iterative optimization of
parameter or state variables. LAI: leaf area index; gs: stomatal conductance;
An: leaf net photosynthesis; Anc: canopy net photosynthesis; Tr: transpira-
tion; ET: Evapotranspiration; RS: remote sensing.
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7 Conclusions

Three decades of remote sensing studies have found a range of significant
relationships between remotely sensed information and ecophysiological
variables. The spectral indices such as NDVI, based on only two wave-
lengths, are quite simple but useful for geospatial applications. A case study
based on airborne remote sensing data demonstrated that the NDVI among
various VIs might be useful enough for a rough assessment of plant pro-
ductivity at fine spatial resolution.

Up-to-date investigations on remote sensing signatures from hyperspec-
tral and microwave sensors are providing new findings that may be used for
estimation of plant photosynthesis, pigments, chemical components, canopy
geometry, etc., although some of them need further investigation or valida-
tion. Our study also showed a significant relationship between remotely
sensed surface temperature and SSFCO2

. This may extend the opportunities
for applications of remotely sensed surface temperature to investigations of
CO2 transfer processes near the soil surface, as well as to quantitative as-
sessment of ESFCO2

.
Our case study clearly demonstrated that a synergy of remote sensing

data and a SVAT model was effective for estimating important ecosystem
variables such as biomass growth, water, and ecosystem CO2 fluxes. Sim-
ulated ESFCO2

agreed nicely with those measured by eddy covariance
method, while simulated biomass agreed well with independent measure-
ments. A set of only a few remote sensing measurements had a significant
effect on improvement of simulation results. Remotely sensed surface tem-
perature as well as spectral reflectance may be useful to effectively tune the
process-based model. This synergistic approach may be suitable especially
in utilizing infrequent remote sensing data for dynamic estimation of bio-
physical functioning of the ecosystems. Another advantage for this approach
is that a wide range of remotely sensed signatures in optical, thermal and
microwave domains can be used to drive this parameterization procedure. It
is strongly recommended to include remote sensing measurements in ag-
ricultural, ecological, and geophysical field experiments.
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Abstract

Light-use efficiency (LUE, carbon assimilation per unit light absorption) is a key param-

eter for global mapping of the terrestrial carbon cycle by remote sensing and modeling ap-

proaches. We simulated the terrestrial carbon cycle with a process-based model (Sim-CYCLE)

to capture the spatial and temporal distributions of light absorption, photosynthetic carbon

assimilation, and light-use efficiency. The global simulation was conducted for the years

1901–2000 at a spatial resolution of 0.51� 0.51. For the years 1981–2000, the global annual

gross primary production (GPP) and net primary production (NPP) were estimated as 130.7

and 62.5 Pg y�1, respectively, at the cost of absorbed photosynthetically active radiation

(APAR) of 185.6� 1021 J y�1. We calculated the global average LUEs for GPP and NPP as 0.70

and 0.34 g C MJ�1, respectively. The long-term simulation implied that global LUE has

increased from 0.66 and 0.32 g C MJ�1 in the 1900s, because elevated atmospheric CO2
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concentration has had a fertilization effect on terrestrial vegetation. Seasonal and latitudinal

changes in APAR, GPP/NPP, and LUE were analyzed. The estimated LUE (for GPP) differed

among biomes, from 1.0 g C MJ�1 for tropical rain forest to 0.34 g C MJ�1 for cool semi-desert

scrub. These model results will be useful for future combination with the remote-sensing

approach to achieve a more realistic mapping of the terrestrial carbon cycle.

Keywords: carbon cycle; global change; land-surface process; model analysis;
vegetation productivity

1 Introduction

Climatic warming and its ramifications are among the most urgent issues
regarding global environmental change. Because the carbon budget of the
terrestrial ecosystem is likely to affect the progress of climatic warming,
extensive research has been conducted on efforts to elucidate carbon dy-
namics (i.e., flows and pools) in a wide variety of terrestrial ecosystems
(Running et al., 1999). Currently, the total storage of organic carbon in
terrestrial ecosystems (about 2,000 Pg C [1 Pg ¼ 1015 g]) is nearly three
times as large as the amount of carbon present (about 760 Pg C) in atmos-
pheric carbon dioxide (CO2) and methane, both of which are major green-
house gases. In addition, the annual gross carbon exchange between the
atmosphere and the terrestrial ecosystems (about 120 Pg C y�1) is one of the
largest carbon flows in the global bio-geochemical carbon cycle (IPCC, 2001).

However, because of environmental diversity and human impact, the
land surface is so heterogeneous that our ability to quantify the terrestrial
carbon budget over a broad scale is far from sufficient. For example, many
boreal forests undergo frequent wildfires of various intensities and extents,
leading to obvious horizontal heterogeneity in net CO2 exchange and carbon
storage. The spatial scale of disturbances (m2 to km2) is too small to be
incorporated explicitly into regional ecosystem carbon cycle models, whose
mesh size is typically thousands of square kilometers. On the other hand,
recent progress in remote-sensing techniques is expected to permit higher
resolution mapping (m2 to km2) of terrestrial ecosystems in terms of their
structure and function. Thus, collaborations between modeling and remote
sensing will be an effective and inevitable way to achieve high-resolution
mapping and analysis.

Most remote-sensing approaches concerning terrestrial functions, espe-
cially carbon assimilation and biomass production, are based on a simple
relationship between the absorbed energy of photosynthetically active ra-
diation (APAR) and the gross primary production (GPP) or net primary
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production (NPP) (Kumar and Monteith, 1981):

GPP ¼ LUEðGPPÞ � APAR (1a)

NPP ¼ LUEðNPPÞ � APAR (1b)

The conversion coefficient represents the light-use efficiency (LUE) of
terrestrial vegetation. There are many empirical algorithms to estimate
APAR or its fraction (fAPAR) from observed optical information (spectra of
reflection), which are usually represented by several vegetation indices such
as the normalized difference vegetation index (NDVI) (Ruimy et al., 1994).
Moreover, many models have been developed to estimate transfer, attenu-
ation, penetration, and absorption of radiation within canopy (Myneni,
1991; Asrar et al., 1992). On the other hand, LUE is not only determined by
physical factors, but also affected by a multitude of physiological properties;
consequently, LUE differs among different plant types and varies with en-
vironmental conditions (Runyon et al., 1994; Turner et al., 2003). Accord-
ingly, the parameterization of LUE is still a challenge for remote-sensing
researchers, plant ecologists, and micro- and agro-meteorologists (Haxeltine
and Prentice, 1996). Physiologically, LUE is termed as the quantum yield
that corresponds to the initial slope of the light-photosynthesis curve. It is
known to increase with increasing ambient CO2 level and decreasing tem-
perature, and to differ between C3 and C4 plants. Hence, physiological LUE
depends on both – gain by assimilation (carboxylation) and loss by photo-
respiration (oxygenation). For agro-meteorology and remote-sensing studies,
LUE is usually defined as the ratio of NPP to absorbed PAR energy, and is
then regulated by additional complex factors specific to the canopy scale
(Asner et al., 1998).

This study addresses APAR, GPP/NPP, and LUE on a global scale with a
process-based model of the terrestrial ecosystem that considers remote-
sensing applications. Recently, several studies have attempted to derive
global terrestrial productivity from the APAR– NPP relationship (equation
(1b), since satellite observations provide broad, periodic, and equally accu-
rate data about the land surface (Potter et al., 1993; Prince and Goward,
1995; Ruimy et al., 1996; Goetz and Prince, 1999). However, in these studies,
LUE is parameterized in rather simplified manners: e.g., with a biome-
specific constant and as an empirical function of environmental variables.
Ruimy et al. (1999) compared 12 global models and concluded that differ-
ences in LUE parameterization resulted in a significant uncertainty in es-
timation results. In this study, APAR and GPP/NPP were explicitly
simulated with a model that included ecophysiological relationships, using
time-series climate data from 1901 to 2000. Next, latitudinal, biome-specific,
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seasonal, and interannual aspects of LUE were analyzed, which may carry
implications for remote-sensing studies assessing vegetation activity.

2 Methods

2.1 Canopy Absorption of PAR

Absorption of instantaneous photosynthetically active radiation (APAR,
W m�2) is calculated by the Lambert–Beer law (Monsi and Saeki, 1953):

APAR ¼ PARsfcð1:0� aÞf1:0� expð�Ka � LAIÞg (2)

where Ka is the attenuation coefficient, a the biome-specific canopy reflect-
ance, and LAI the leaf-area index estimated by the terrestrial ecosystem
model (based on foliage biomass and specific leaf area). For the calculation of
PARsfc, see the Appendix. Here, Ka is parameterized as a function of biome
type and solar height angle j:

Ka ¼
Ka0

sinðjÞ
(3)

where Ka0 is the value of the coefficient when the sun is at the zenith. In
general, grass species (monocots), which have erect leaves, have lower Ka0

(about 0.45), whereas dicotyledonous herb species and tree species have
higher Ka0 (about 0.55). Assuming that the daily variation in irradiance may
be adequately approximated by a sine-square function of time, we can easily
estimate the daily APAR (MJ m�2 day�1) as follows:

APARðdailyÞ ¼ 0:5� 10�6
�DL� APARðmiddayÞ (4)

where DL is the day length (seconds).

2.2 Carbon Cycle

A simulation model, Carbon cYCle in Land Ecosystems (Sim-CYCLE),
which is a process-based terrestrial model (overview in Table 1; for more
details, see Ito and Oikawa, 2002), is globally applied to the simulation of
vegetation productivity. In the model, the ecosystem structure is simplified
into a six-compartment system (atmosphere, foliage, stem, root, litter, and
humus), while 16 carbon flows represent ecosystem dynamics (growth, mor-
tality, and reproduction) (Fig. 1).

Net primary production (NPP, g C m�2 day�1 or y�1) is defined as the
amount of plant dry-matter production during a given period, and is
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Table 1: Brief description of the processes in Sim-CYCLE (see Ito and Oikawa (2002) for details)

Process Synopsis Environmental dependence Key parameters

PAR/PPFD Iqbals’s empirical model:
diffused radiation and direct
radiation are separated

Latitude, season, cloudiness –

Net radiation Albedo model for short-wave
radiation, and empirical model
for long-wave radiation.

VPD, surface temperature,
cloudiness

Albedo, snow cover

Evapotranspiration Penman-Monteith model is
used for potential
evapotranspiration, limited by
available water (soil moisture
and precipitation)

Temperature, wind, soil water,
precipitation, VPD

Canopy conductance

Photosynthesis Empirical single-leaf gas
exchange is scaled up to
canopy scale, based on the
Monsi-Saeki theory

Temperature, soil water,
PPFD, day-length,
atmospheric CO2

Quantum yield, light-
saturated photosynthetic
rate, LAI, light
attenuation coefficient

Respiration Two-component model (growth
and maintenance) with
exponential temperature
response for maintenance
respiration

Temperature Specific respiration rate,
temperature coefficient
(Q10)

Allocation Theoretically optimal LAI
determines allocation to leaf.
Allometric shoot-root
proportion is considered

Indirectly on photosynthesis
and leaf phenology

Optimum LAI, root/shoot
ratio

Litterfall Constant senescence rate and
seasonal deciduousness

Temperature, precipitation
(leaf phenology)

Specific mortality

Decomposition Two-layer model (dependent on
soil moisture and temperature)

Soil moisture, soil temperature Specific decomposition
rate
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calculated by the CO2 budget:

NPP ¼ GPP� AR (5)

where GPP is gross photosynthetic production and AR the autotrophic res-
piration. GPP responds to irradiance, ambient CO2 level, temperature,
vapor pressure deficit, and soil water content, while AR is composed of
maintenance and construction components that depend on temperature and
biomass growth rate, respectively.

The estimation of GPP is based on a method that uses Monsi–Saeki
theory, by which ecophysiological findings at the single-leaf level are scaled
up to the canopy level (Monsi et al., 1973; Terashima and Hikosaka, 1995).
Single-leaf LUE (apparent quantum yield, mol CO2 mol–1 photon) is defined
as a constant for C4 plants and as a variable for C3 plants:

LUEðC4leafÞ ¼ 0:05 (6)

LUEðC3 leafÞ ¼ 0:05� fTðLUEÞ � fCiðLUEÞ (7)

fTðLUEÞ ¼
52:0� T

3:5þ 0:75ð52:0� TÞ
(8)

fCiðLUEÞ ¼
Ci

90:0þ 0:6Ci
(9)

Biome map (Olson et al., 1983)

Climate map (NCEP/NCAR-reanalysis)

Climate map (UEA/CRU)

Soil property map (Webb et al., 1993)

Topography map (ETOPO-5)
Altitude

Wind velocity
Specific humid.
Surface temp.
Soil temp.

Air temp.
Precip.
Cloudiness
Vapor press.

Rooting depth
Water holding
  capacity

 CO2 in canopy boundary layer

foliage

stem

root

litter

humus

photosynthesis (GPP)

translocation

decomposition
microbial

heterotrophic
respiration

plant
autotrophic
respiration

(AR)

lit
te

rf
al

l

net ecosystem production 

CO2 in free atmosphere

INPUT OUTPUT

APAR map

GPP map

NPP map

LUE(GPP) map

LUE(NPP) map

CARBON CYCLE MODEL

Natural
Cropland

Figure 1: Operational flow of the model simulation, including schematic
diagram of the carbon cycle in the terrestrial ecosystem (For colour version,
see Colour Plate Section).
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where T is leaf temperature (1C) and Ci the intercellular CO2 concentration
(ppmv), estimated by the stomatal gas exchange module of Sim-CYCLE.
Thus, a cooler and/or higher CO2 condition leads to a higher LUE for C3

leaves owing to reduced photorespiration. The single-leaf photosynthetic
rate (A, mmol CO2 m�2 s�1) is approximated by a rectangular hyperbolic
curve:

A ¼
PPFD� LUE� Asat

PPFD� LUEþ Asat
(10)

where PPFD is the photosynthetic photon flux density (mmol pho-
tons m�2 s�1, see the Appendix) and Asat is the light-saturated photosyn-
thetic rate, which is a function of the intercellular CO2 level, temperature,
and soil water availability. Based on Fick’s first law of gas diffusion, inter-
cellular CO2 concentration (Ci) is calculated as follows:

A ¼ gsðCa � CiÞ (11)

where Ca is the ambient CO2 level (ppmv) and gs the stomatal CO2 con-
ductance (mmol CO2 m�s s�1). Because A, gs, and Ci are interdependent,
they are obtained by a numerical method, that is, iterative calculation. Fi-
nally, to obtain the GPP, the single-leaf rate A is analytically integrated over
the leaf-area index, taking light attenuation (equation (2)) into account:

GPP ¼ r
Z LAI

AdF (12)

where r is a unit conversion coefficient (from mmol CO2 to g C). Further-
more, by integrating GPP in equation (12)or the day length, we can obtain a
formula for the daily GPP (see Ito and Oikawa, 2002).

Autotrophic respiration (AR) consists of maintenance (ARM) and con-
struction (ARC) components, both of which are calculated for three plant
compartments (leaf, stem, and root), separately. ARM represents the main-
tenance cost of standing biomass:

ARM ¼ SARM �W � fTðARÞ (13)

fTðARÞ ¼ Q
ðT�15Þ=10
10 (14)

where SARM is the specific respiration rate (g g�1 day�1), W the standing
biomass (g), T the temperature (1C), and Q10 a coefficient of temperature
dependence. Typically, ARM doubles for every 101C temperature rise (i.e.,
Q10 ¼ about 2.0); here, seasonal acclimatization of Q10 is additionally taken
into account (see Ito and Oikawa, 2002). ARC represents the construction
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cost of new tissues from photosynthate and is proportional to the translo-
cation rate (TL, g C m�2 day�1):

ARC ¼
SARC � TL

ð1þ SARCÞ
(15)

where SARC is the specific respiration (g g�1): high for leaves (about 0.5),
low for stems (about 0.2), and intermediate for roots (about 0.35).

2.3 Light-use Efficiency

Canopy light-use efficiency (LUE, g C MJ�1) is directly calculated from the
estimated APAR and productivities:

LUEðGPPÞ ¼
GPP

APAR ðdailyÞ
(16)

LUEðNPPÞ ¼
NPP

APAR ðdailyÞ
(17)

The canopy-scale LUE is generally lower than that of single leaves (equa-
tions (6,7)), because of the light saturation of sunny leaves and respiratory
loss by non-assimilative organs (in the case of NPP). The APAR–GPP/NPP
relationships is analyzed later.

2.4 Data and Simulation

Global simulation is performed at a spatial resolution of 0.51� 0.51 in lon-
gitude and latitude (58,772 grid points). The vegetation distribution is based
on Olson’s actual biome map (Olson et al., 1983), with a correction for the
distribution of deciduous needle-leaved forest by ancillary data, in which
global land-cover is classified into 32 vegetation types (Table 2) and ice
sheet. At present, land-use conversion from natural vegetation to cropland
is not considered. Altitude and soil properties (water-holding capacity and
rooting depth) are characterized by ETOPO5 and NASA/GISS datasets
(Webb et al., 1993), respectively.

The long-term mean climate condition is defined by the 38-year average
(1961–1998) of the US National Centers for Environmental Prediction and
the US National Center for Atmospheric Research (NCEP/NCAR) reanalysis
dataset (Kistler et al., 2001) in terms of cloudiness, air temperature and
humidity, precipitation, ground temperature, and wind velocity. Under the
contemporary climate condition, the carbon cycle model is stabilized by it-
erative calculation (200–2000 years) to obtain an equilibrium state; that is,
the annual net-carbon budget is balanced everywhere. Then, time-series
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Table 2: Category, area, absorbed PAR (APAR), productivity (GPP and NPP), and light-use efficiency
(LUE(GPP) and LUE(NPP)) of 32 biome types, averaged over 1981–2000

Area (106 km2) APAR1 GPP2 NPP2

Total Density Total Density LUE Total Density LUE

1 Tropical and subtropical evergreen forest 10.4 21.5 2.6 22.0 2,107 1.02 10.9 1049 0.51
2 Tropical montane forest 1.2 2.5 2.7 2.2 1,868 0.87 1.1 961 0.45
3 Tropical and subtropical dry forest 4.7 9.9 2.9 7.3 1,547 0.74 3.7 777 0.37
4 Mid-latitude mixed woods 3.5 6.2 2.2 4.0 1,139 0.65 2.3 648 0.37
5 Mid-latitude broad-leaved forest 1.5 2.7 2.3 1.5 981 0.54 0.8 558 0.31
6 Semiarid wood or low forest 0.9 2.1 3.1 0.8 847 0.37 0.3 348 0.15
7 Coniferous forest 3.5 6.0 2.0 3.6 1,034 0.60 2.1 613 0.36
8 Southern taiga 1.6 2.4 1.8 1.1 663 0.43 0.6 393 0.26
9 Main boreal taiga (evergreen) 3.4 4.7 1.6 2.8 817 0.60 1.7 499 0.36

10 Main boreal taiga (deciduous) 2.1 2.7 1.6 1.5 716 0.56 1.0 465 0.36
11 Northern taiga (evergreen) 2.7 3.5 1.6 1.7 607 0.47 1.0 371 0.29
12 Northern taiga (deciduous) 1.6 1.7 1.5 0.9 532 0.51 0.6 349 0.34
13 Second growth woods 5.2 9.4 2.3 6.1 1185 0.65 2.9 566 0.31
14 Second growth fields 4.1 4.6 2.4 3.8 936 0.83 1.7 419 0.37
15 Succulent and thorn woods 4.0 6.2 3.0 5.2 1310 0.84 2.2 546 0.35
16 Tropical savanna, woodland 6.7 11.1 2.8 10.7 1590 0.96 4.4 658 0.40
17 Mediterranean-type dry woods 3.6 4.5 2.9 2.9 797 0.64 1.3 363 0.29
18 Heath and Moorland 0.1 0.2 2.2 0.1 748 0.74 0.1 337 0.33
19 Warm or hot shrub and grassland 17.3 18.0 2.8 14.9 863 0.83 6.3 361 0.35
20 Tibetan meadow, Siberian highland 0.8 1.2 2.2 0.4 482 0.35 0.2 262 0.19
21 Tundra 9.9 11.6 1.7 5.0 502 0.43 2.8 281 0.24
22 Wooded tundra 1.7 2.1 1.6 0.9 521 0.43 0.5 298 0.25
23 Warm or hot wetlands 1.6 3.1 2.7 2.3 1463 0.75 1.0 612 0.31
24 Cool bog and mire 1.0 1.3 1.8 0.6 660 0.49 0.3 356 0.26
25 Shore and hinterlands 1.0 1.9 2.5 1.2 1178 0.64 0.5 529 0.29
26 Cool semi-desert scrub 2.0 3.1 2.3 1.1 525 0.34 0.6 275 0.18
27 Non-polar desert 11.1 7.6 3.1 4.2 380 0.55 1.8 159 0.23
28 Non-polar sand desert 5.2 3.3 3.1 1.8 349 0.55 0.7 143 0.22
29 Paddyland 2.0 3.8 2.6 3.2 1636 0.85 1.3 670 0.35
30 Cool croplands 3.0 4.0 2.0 2.5 850 0.63 1.3 439 0.33
31 Warm croplands 13.2 20.8 2.5 13.4 1,014 0.64 6.0 450 0.29
32 Irrigated 1.6 2.1 2.8 1.1 668 0.50 0.5 286 0.21

Total 132.3 185.6 130.7 0.70 62.5 0.34

1Total in 1021 J, density in 109 J (GJ) m�2.
2Total in Pg C yr�1, density in g C m�2 yr�1, LUE in g C MJ�1.
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climate data of the University of East Anglia, Climate Research Unit (New
et al., 2002) are used to simulate a transient state of the monthly carbon
budget for the period from 1901 to 2000. During the experimental period,
the model accounts for temporal variations in temperature, precipitation,
and cloudiness, as well as the atmospheric CO2 concentration (Keeling and
Whorf, 2002). Here, however, more emphasis will be placed on the average
state of vegetation productivity (between 1980s and 1990s), rather than
interannual variability.

3 Results

3.1 Global Features

The carbon cycle of terrestrial ecosystems from 1901 to 2000 was simulated
with Sim-CYCLE (Fig. 2). In the 1980s and 1990s, the annual average GPP
and NPP were estimated to be 130.7 and 62.5 Pg C y�1, respectively. Plant
biomass and soil organic carbon were estimated as 481 and 1429 Pg C, re-
spectively. However, during the 20th century, GPP, NPP, and plant biomass
were estimated to have increased gradually, as atmospheric CO2 concen-
tration increased (Fig. 2). The temporal change in soil-carbon storage was
slightly complicated, in that it decreased from the 1930s to the 1950s and
then increased again from the 1960s to the 1970s. The magnitude of the soil-
carbon change (about 10 Pg C) was one-third of the variation of plant bio-
mass, and was mostly determined by the climatic variation, especially in
temperature (e.g., the global mean temperature was higher in the 1930s and
1940s than in the 1920s and 1960s). On average, terrestrial vegetation re-
ceived 330.4� 1021 J of PAR, of which 56.2% (185.6� 1021 J) was absorbed by
canopy. Accordingly, the average LUEs for GPP and NPP were readily cal-
culated as 0.70 and 0.34 g C MJ�1, respectively. Fig. 2 shows that the esti-
mated mean LUEs have gradually increased, with a small magnitude of
interannual variability, although the total APAR has also increased. This
implies that the elevated atmospheric CO2 concentration (and to some ex-
tent climatic change) resulted in higher photosynthetic light-use efficien-
cies, through the CO2 fertilization effect.

Fig. 3 shows the estimated distributions of annual APAR, GPP, and
LUE(GPP), averaged over the 1980s and 1990s. Apparently, more PAR was
absorbed by tropical and subtropical forests, except for some cloudy ones,
leading to higher photosynthetic productivity. In these forests, the humid
climate allows them to sustain a higher leaf area index, which absorbs a large
fraction of incident solar radiation. Table 2 summarizes biome-specific aspects
with respect to light-use efficiency. For example, on average, tropical rain
forest absorbed 2600 MJ m�2 of PAR and assimilated 2107 g C m�2 of
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atmospheric CO2, annually. Because of optimal temperature and moisture
conditions, the tropical rain forest showed the highest LUE (1.02 g C MJ�1 for
GPP) among the biomes. On the other hand, cooler biomes (e.g., tundra and
cool semi-desert scrub) showed lower LUEs (0.35 g C MJ�1) because of in-
sufficient warmth. In spite of dryness, tropical savanna showed higher LUE
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Figure 2: Interannual changes in the estimated global terrestrial processes,
from 1901 to 2000: absorbed photosynthetically active radiation (APAR),
gross primary production (GPP), net primary production (NPP), light-use
efficiency (LUE) of GPP and NPP, and plant and soil-carbon storage.
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Figure 3: Estimated global distributions of (a) APAR, (b) GPP, and (c)
LUE(GPP), averaged from 1981 to 2000 (For colour version, see Colour Plate
Section).
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(0.96 g C MJ�1 for GPP) because of the dominance of C4 grass species. Fig. 4
shows the estimated latitudinal distributions of APAR, GPP/NPP, and LUE.
The land area between 601N and 201S absorbed a comparable amount of PAR,
although there are differences in land area and incident irradiance. The lat-
itudinal distribution of GPP and NPP shows two peaks: one around 501N and
the other around the equator. Lower productivity in northern middle latitudes
(around 301N) was attributable to a broad area of arid and infertile ecosys-
tems. The latitudinal distribution of LUE was mostly similar to that of pro-
ductivity, except in the northernmost and southernmost areas. Specifically,
warm and humid ecosystems around the equator show higher LUE, especially
for GPP. However, smaller differences among latitudes were found for the
LUE of NPP, because larger respiratory consumption of tropical forests offsets
a part of the higher photosynthetic efficiency. Table 3 summarizes the lat-
itudinal features for every 301 latitudinal zone. Apparently, the southern low
(0–301S), northern low (0–301N), and northern-middle (30–601N) zones ab-
sorbed comparable amounts of PAR, about 53� 1021 J y�1, although the in-
cident PAR was different among the three zones. The southern and northern
low zones accounted for nearly 70% of the photosynthetic CO2 assimilation by
the terrestrial biosphere, with a higher LUE than other zones. In contrast, the
northern-middle and high zones accounted for nearly 60% of the total carbon
storage (1080 Pg C out of 1910 Pg C), and there was a clear difference in the
carbon cycle regime between the low- and high-latitudinal zones.

It is seen from Fig. 5 that APAR, GPP, and LUE changed roughly in
parallel seasonally because, in general, higher incident radiation leads to
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Table 3: Summary of the simulation result for each of the 301-zones, averaged over 1981–2000

Land area
(106 km2)

PAR (1021

J yr�1)
APAR (1021

J yr�1)
GPP (Pg C) LUE(GPP)

(g C MJ�1)
NPP (Pg C) LUE(NPP)

(g C MJ�1)
Plant C
(Pg C)

Soil C
(Pg C)

90–601N 15.2 22.2 15.9 7.9 0.50 4.8 0.30 35 382
60–301N 46.0 103.7 54.7 28.5 0.52 15.4 0.28 104 559
30–01N 36.6 109.3 54.4 44.0 0.81 19.4 0.36 156 213
0–301S 29.0 80.7 52.3 45.4 0.87 20.5 0.39 174 227
30–601S 5.5 14.4 8.3 4.9 0.59 2.4 0.29 12 48
Total 132.3 330.4 185.6 130.7 0.70 62.5 0.34 481 1,429
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Figure 5: Seasonal change in the estimated global distributions of APAR, GPP, and LUE(GPP), averaged from
1981 to 2000: DJF (December, January, and February), MAM (March, April, and May), JJA (June, July, and
August), and SON (September, October, and November), averaged from 1981 to 2000 (For colour version, see
Colour Plate Section).
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warmer conditions that enable plants to photosynthesize with a higher light-
use efficiency. Higher LUEs occurred in tropical rain forests all year round and
in temperate and boreal forests in their growing season (e.g., June, July, and
August [JJA in Fig. 5] in northern taiga). In tropical, temperate, and boreal
deciduous forests, APAR and LUE differed drastically between the dormancy
and growing period, reflecting their clear leaf phenology. In arid regions,
however, water limitation inhibits plants from expanding leaf area and uti-
lizing solar energy for photosynthesis all year. Fig. 6 indicates that globally,
APAR and GPP (and also NPP, not shown) changed almost in parallel sea-
sonally, but the global average LUE showed a considerable degree of seasonal
change (0.575–0.807 g C MJ�1 for GPP and 0.260–0.420 g C MJ�1 for NPP).

3.2 Grid-by-Grid Correlation

Annual APAR and GPP/NPP are correlated in a grid-by-grid manner, as
shown in Fig. 7. A single line does not represent the relationship, although
there is a positive correlation between absorbed PAR and productivity
(r2
¼ 0.69 for GPP and 0.68 for NPP). This is simply because the LUE by

Sim-CYCLE is not homogeneous over the terrestrial biosphere. Fig. 8 shows
the seasonal change in the APAR–GPP relationship (similar for APAR–NPP,
not shown); the correlation coefficient is highest in DJF (r2

¼ 0.79) and
lowest in MAM (r2

¼ 0.38). The lowest correlation coefficient in MAM co-
incides with lower LUEs in the same period (see Fig. 6). Additionally, LUEs
for GPP and NPP were correlated with the productivities (Fig. 9), showing
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Figure 6: Seasonal change in the global total APAR, GPP, and LUE(GPP),
averaged from 1981 to 2000.
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(a) APAR–GPP
r2 = 0.69

(b) APAR–NPP
r2 = 0.68
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Figure 7: Correlation between annual absorbed energy (APAR) and CO2 as-
similation rate (GPP and NPP) for each of the 0.51 � 0.51grids (n ¼ 58 772).
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considerably higher correlation coefficients (r2
¼ 0.81 for GPP and 0.75 for

NPP). Again, this relationship indicates that higher productivities are at-
tributable to higher light-use efficiency, as well as higher incident PAR.
Compared with a similar correlation analysis with 12 global models by
Ruimy et al. (1999), Sim-CYCLE showed a moderate degree of correlation
between APAR and NPP (r2

¼ 0.26–0.98 among the 12 models) and a high
correlation between LUE and NPP (r2

¼ 0.06–0.71). The behavior of Sim-
CYCLE is relatively close to that of process-based models such as the
Frankfurt Biosphere Model, rather than that of remote-sensing-based mod-
els. Such a correlation analysis and model intercomparison are apparently
effective in clarifying the characteristics of the models.
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Figure 8: Same as Fig. 7, but showing the seasonal change in the
APAR–GPP relationship.
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4 Discussion

4.1 Comparison with Other Studies

The estimated global features are difficult to validate with observational
evidence but can be compared with several former model studies. Many
models have estimated that the global annual NPP is about
54.9710.6 Pg C y�1 (Cramer et al., 1999), comparable with the estimation
by Sim-CYCLE (62.5 Pg C y�1). Ruimy et al. (1999) analyzed the estimated
APAR and NPP with 12 models and calculated that the global average
LUE(NPP) was 0.42770.126 g C MJ�1; again, the estimation of Sim-CYCLE
(0.34 g C MJ�1) fell within the range of the other 12 models. The latitudinal
distributions of APAR, NPP, and LUE (Fig. 4) were also consistent with the
analysis of Ruimy et al. (1999), which shows a close relationship between
APAR and NPP. On the other hand, there are few comparable studies that
examine the interannual (Fig. 2) and seasonal changes (Fig. 6) in LUE,
although long-term and interannual variability in APAR, GPP/NPP, and
LUE should be challenging issues in regards to the function of terrestrial
ecosystems under a changing environment. Indeed, several empirical stud-
ies suggest that global terrestrial productivity is increasing, probably
because of atmospheric CO2 increase and ongoing climatic change (Nemani
et al., 2003). Alterations in PAR absorption (due to land-use changes and
biological changes in leaf greenness) are detectable by the remote-sensing
approach, while alterations in LUE (due to physiological responses) are
difficult to determine observationally, highlighting the importance of the
modeling approach.

4.2 Higher Resolution Mapping

In forthcoming studies, the modeling approach will be more intimately
linked with the remote-sensing approach in order to accomplish a higher-
resolution mapping of the global carbon cycle. At present, NPP mapping on
a continental scale is being accomplished at a spatial resolution of 1 km
(Hicke et al., 2002; Matsushita and Tamura, 2002) on the basis of satellite
remote-sensing data such as the NDVI by NOAA/AVHRR and MODIS.
Recent developments in computer technology allow us to deal with greater
amounts of data, so it will not be impossible to perform process-based models
(e.g., Sim-CYCLE) at such a high resolution. Compared with remote-
sensing-based carbon cycle models (e.g., CASA by Potter et al. (1993);
GLO-PEM by Prince and Goward (1995); TURC by Ruimy et al. (1996)),
process-based models are less accurate (diagnostic) but more predictive
(prognostic). For example, a process-based model is preferable for simulat-
ing underground processes (e.g., decomposition and soil-root interaction).
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Hence, the two approaches should work in a complementary manner rather
than being exclusive. However, in spite of much effort (e.g., by IGBP Data
and Information Services), basic datasets to capture the heterogeneity of the
land surface are still under development (DeFries et al., 2000; Zheng et al.,
2000; Masson et al., 2003). Along with advancements in spatial resolution,
parameterization of sub-grid-scale heterogeneity is required in order to in-
clude the effect of disturbances (e.g., wildfires and pest outbreaks). For ex-
ample, fire-prone ecosystems such as tropical savanna and inner boreal
forest suffer from fires once every few decades (i.e., a few percent of area
annually), leading to significant suppression of biomass and soil-carbon
pools. The situation is even more severe for human land-use conversion and
management, which are especially important for mapping in the Asian re-
gion. Therefore, further studies are needed to achieve high-accuracy map-
ping of the terrestrial carbon cycle, which is applicable for carbon
accounting and management planning, as well as for the quantification of
the global carbon cycle.
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Appendix: How Incident PAR and PPFD is
Estimated in this Study

The global distribution of photosynthetically active radiation (PAR, wave-
length 400–700 nm) is estimated on the basis of some geometric and em-
pirical relationships (Iqbal, 1983). First, the downward solar radiation at
the top of the atmosphere (Stop, W m�2) is calculated as follows:

Stop ¼ S0 �
d

d0

� �2

� cos ðyÞ (A1)

where S0 is the solar constant (1365 W m�2), y the zenith angle, d the dis-
tance between the sun and the earth, and d0 the annual average of d. The
zenith angle y is calculated geometrically as follows:

y ¼ acosðsinðdÞ � sinðfÞ þ cosðdÞ � cosðfÞ � cosðhÞÞ (A2)

where d is the solar declination angle (+23.41 to –23.41), f is the latitude
(+901 to –901), and h is the hour angle from culmination (7151 per hour).
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Empirically, d and (d/d0)2 are approximated as:

d ¼ 180=pf0:006918� 0:399912� cosðGÞ

þ 0:070257� sinðGÞ � 0:006758� cosð2GÞ

þ 0:000907� sinð2GÞ � 0:002697� cosð3GÞ þ 0:00148� sinð3GÞg ðA3Þ

d

d0

� �2

¼ 1:000110þ 0:034221� cosðGÞ

þ 0:001280� sinðGÞ þ 0:000719� cosð2GÞ

þ 0:000077� sinð2GÞ ðA4Þ

G ¼ 360
i

365

� �
(A5)

where i is the day-number from the beginning of year. Solar radiation at the
land surface (Ssfc), attenuated in passing through the atmosphere, is esti-
mated by an empirical function of cloudiness (C, 0 to 1):

Ssfc ¼ Stopð0:8964� 0:5392CÞ (A6)

This relationship was derived from the NCEP/NCAR reanalysis data, by
correlating Ssfc and Stop globally (Ito, unpublished data). To estimate PAR,
the surface solar radiation was separated into diffused (Dsfc) and direct
beam (Bsfc) fractions, again in an empirical manner:

Dsfc ¼ Ssfc
0:958� 0:982Ssfc

Stop

� �
(A7)

Bsfc ¼ Ssfc �Dsfc (A8)

Finally, PAR at the land surface (PARsfc, W m�2) and photon flux density
(PPFDsfc, mmol photon m�2 s�1) at the land surface are estimated:

PARsfc ¼ 0:43� Bsfc þ 0:57�Dsfc (A9)

PPFDsfc ¼ 0:43� Kb � Bsfc þ 0:57� Kd �Dsfc (A10)

where Kb ( ¼ 4.6) and Kd ( ¼ 4.2) are conversion coefficients for beam and
diffused radiation, respectively. Note that the empirical relationships
adopted in the PAR estimation method can be revised on the basis of new
observational results.
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Monsi, M., Saeki, T., 1953. Über den Lichtfaktor in den Pfanzengesellschaf-
ten und seine Bedeutung für die Stoffproduktion. Japanese Journal of
Botany 14, 22–52.

Monsi, M., Uchijima, Z., Oikawa, T., 1973. Structure of foliage canopies and
photosynthesis. Annual Review of Ecology and Systematics 4, 301–327.

Myneni, R. B., 1991. Modeling radiative transfer and photosynthesis in
three-dimensional vegetation canopies. Agricultural and Forest Meteor-
ology 55, 323–344.

Nemani, R. R., Keeling, C. D., Hashimoto, H., Jolly, W. M., Piper, S. C.,
Tucker, C. J., Myneni, R. B., Running, S. W., 2003. Climate-driven in-
creases in global terrestrial net primary production from 1982 to 1999.
Science 300, 1560–1563.

New, M., Lister, D., Hulme, M., Makin, I., 2002. A high-resolution data set of
surface climate over global land areas. Climate Research 21, 1–25.

Olson, J. S., Watts, J. A., Allison, L. J., 1983. Carbon in live vegetation of
major world ecosystems. ORNL-5862, Oak Ridge National Laboratory.

Potter, C. S., Randerson, J. T., Field, C. B., Matson, P. A., Vitousek, P. M.,
Mooney, H. A., Klooster, S. A., 1993. Terrestrial ecosystem production: a
process model based on global satellite and surface data. Global Biogeo-
chemical Cycles 7, 811–841.

Prince, S. D., Goward, S. N., 1995. Global primary production: A remote
sensing approach. Journal of Biogeography 22, 815–835.

Ruimy, A., Dedieu, G., Saugier, B., 1996. TURC: a diagnostic model of con-
tinental gross primary productivity and net primary productivity. Global
Biogeochemical Cycles 10, 269–285.

Ruimy, A., Kergoat, L., Bondeau, A.Potsdam NPP model intercomparison
participants, 1999. Comparing global NPP models of terrestrial net pri-
mary productivity (NPP): Analysis of differences in light absorption and
light-use efficiency. Global Change Biology 5 (Suppl. 1), 56–64.

Ruimy, A., Saugier, B., Dedieu, G., 1994. Methodology for the estimation of
terrestrial net primary production from remotely sensed data. Journal of
Geophysical Research 99, 5263–5283.

Running, S. W., Baldocchi, D. D., Turner, D. P., Gower, S. T., Bakwin, P. S.,
Hibbard, K. A., 1999. A global terrestrial monitoring network integrating
tower fluxes, flask sampling, ecosystem modeling and EOS satellite data.
Remote Sensing of Environment 99, 108–127.

Runyon, J., Waring, R. H., Goward, S. N., Welles, J. M., 1994. Environmental
limits on net primary production and light-use efficiency across the
Oregon transect. Ecological Applications 4, 226–237.

Terashima, I., Hikosaka, K., 1995. Comparative ecophysiology of leaf and
canopy photosynthesis. Plant, Cell and Environment 18, 1111–1128.

Akihiko Ito and Takehisa Oikawa358



Turner, D. P., Urbanski, S., Bremer, D., Wofsy, S. C., Meyers, T., Gower, S. T.,
Gregory, M., 2003. A cross-biome comparison of daily light use efficiency
for gross primary production. Global Change Biology 9, 383–395.

Webb, R. S., Rosenzweig, C. E., Levine, E. R., 1993. Specifying land surface
characteristics in general circulation models: Soil profile data set and
derived water-holding capacities. Global Biogeochemical Cycles 7, 97–108.

Zheng, X., Dickinson, R. E., Walker, A., Shaikh, M., DeFries, R. S., Qi, J.,
2000. Derivation and evaluation of global 1-km fractional cover data for
land monitoring. Journal of Applied Meteorology 39, 826–839.

Global Mapping with a Model 359



This page intentionally left blank



Chapter 15

Terrestrial Net Primary Production
(NPP) Estimation Using NOAA
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Abstract

The light use efficiency (LUE) approach using the normalized difference vegetation index

(NDVI) is the simplest method to estimate terrestrial net primary production (NPP). A sim-

ple LUE-based model, which used LUEs of plants, solar radiation, NDVI and stress functions

for soil water and air temperature, was applied to estimate global terrestrial NPP between

1982 and 1999. NDVI images were computed using channels 1 and 2 of the Advanced Very

High Resolution Radiometer (AVHRR) produced by the Pathfinder AVHRR LAND (PAL)

datasets, after a simple radiometric correction. Anomalies in time series of global average

monthly NDVI of the original PAL data, which were probably caused by volcanic ashes

exposed in the atmosphere by huge eruptions such as Pinatubo, were successfully reduced in

the computed NDVI. The solar radiation, air temperature and soil water of NCEP/NCAR

Reanalysis data were also used for the NPP estimation. LUEs were determined based on the

maximum photosynthetic rate in the literature for 17 land cover types of the IGBP-DIS

classification. NPP was also computed using a constant LUE for the global vegetation to
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understand the effects of multiple LUE-settings. As a result, global NPP was estimated at

between 58.5 and 62.6 petagram (Pg) carbon in 1983 and 1998, respectively, for the multiple

LUE-settings and between 51.0 and 54.8 Pg carbon in 1983 and 1991, respectively, for the

constant LUE-setting. NPP increased about 0.1 Pg carbon annually (Po0.1) for the case of

multiple LUE-settings and about 0.08 Pg carbon annually (not significant) for the case of

constant LUE-setting. Carbon absorption by the terrestrial ecosystems in 1980s and 1990s

are reported in a literature (Kalnay et al., 1996) based on an analysis of atmospheric CO2

concentration. The rate of change in carbon absorption observed in that study is similar to

that of NPP by our estimation. Inter-annual changes in NPP varied from region to region.

Most clear long-term increasing or decreasing trends of NPP appeared in semiarid areas. The

inter-annual changes in NDVI seemed to relate most clearly to the inter-annual NPP

changes in these areas among parameters used for the NPP estimation, which were NDVI,

average monthly air temperature, volumetric soil water content and solar radiation.

Keywords: AVHRR; NDVI; net primary production; inter-annual change; light use
efficiency

1 Introduction

The concentration of atmospheric carbon dioxide (CO2), a greenhouse gas, is
increasing steadily. Global mean air temperature seems to have increased
greatly since the 1910s, in coincidence with the increases in the concentra-
tions of greenhouse gasses (Houghton et al., 2001). Therefore, there is an
urgent need to reduce the amount of atmospheric CO2 as well as to under-
stand the carbon storage and balance in terrestrial ecosystems throughout
the world. If global climate changes, the net primary production (NPP),
which is a measure of the amount of atmospheric CO2 absorbed by vege-
tation, would suffer as a result of the changing climate (Houghton et al.,
2001). Estimation of NPP is essential for evaluating the global carbon bal-
ance, and for understanding the effects of climate change on vegetation.

The normalized difference vegetation index (NDVI) of the Advanced
Very High Resolution Radiometer (AVHRR) on NOAA satellites has been
used for regional and global vegetation studies (e.g. Tucker et al., 1984;
Justice et al., 1985; Box et al., 1989). NDVI shows seasonal vegetation
changes clearly and is useful for vegetation analysis such as vegetation
cover and type mapping. However, there are some problems to be solved for
reliable analysis. For example, aging of satellite sensors, which causes deg-
radation of sensitivity, necessitates post-launch calibration of the sensor
(Slater et al., 1987; Rao and Chen, 1995). Atmospheric correction is a com-
mon problem for visible and near-infrared radiometer data. Although data
processing is designed to overcome these problems (Smith et al., 1997), some
effects remain in the NDVI images of the Pathfinder AVHRR LAND (PAL)
dataset (Smith et al., 1997; Young and Anyamba, 1999).
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NPP has been mapped on a global scale using NDVI images accompa-
nied by simple models (Potter et al., 1993; Ruimy et al., 1994; Prince and
Goward, 1995; Malmström et al., 1997; Awaya et al., 2004). There is a great
advantage in using NDVI, since NDVI images show the terrestrial vegeta-
tion status such as leaf area index (LAI) (Asrar et al., 1984; Chen et al.,
2002), fraction of photosynthetically active radiation (fAPAR) (Asrar et al.,
1984; Myneni and Williams, 1994) and so on. These NPP models are based
on the fact that dry matter (net) production is proportional to the amount
of light absorbed by vegetation (Monteith, 1972). Such models, referred to
as the light use efficiency (LUE)-based models, are also used to estimate
daily and annual NPP using images of the Moderate Resolution Imaging
Spectroradiometer (MODIS) of the Terra and Aqua satellites (Running
et al., 1999). As described in the MODIS NPP algorithm document, many
factors influence vegetation production, and MODIS NPP algorithm is
based on some factors including temperature and water vapour deficit. To
make inter-annual monitoring of NPP possible, it is essential to have not
only a reasonable NPP model but also satellite data corrections. Various
methods of calibration were prepared for MODIS including pre- and post-
launch calibrations (Butler and Barnes, 1998). On the other hand, the ra-
diometric accuracy of PAL data is inadequate as described by Smith et al.
(1997). However, Awaya et al. (2004) demonstrated a method to reduced
errors in PAL images caused by inadequate correction. They estimated
global NPP between 1988 and 1993 using a simple LUE-based model
with corrected NDVI and grid meteorological data. Their model takes into
account the effects of air temperature and soil water content to estimate
vegetation production. This study aims to understand inter-annual varia-
tions of global NPP between 1982 and 1999 based on the method of Awaya
et al. (2004).

2 Data and Methods

2.1 Materials

Monthly PAL images of channels 1 and 2 (ch1 and ch2), which record the red
(0.58–0.68mm) and near-infrared (NIR, 0.73–1.10mm) wavelength, respec-
tively, by AVHRR sensors, were used to compute NDVI after simple inten-
sity corrections as described below. Monthly NDVI of PAL data, which were
produced by the PAL project using the AVHRR data, were compared with
the corrected NDVI to understand the effects of simple intensity corrections.
Because PAL data for 1994 were incomplete, they were omitted in this study.
PAL data were in the Interrupted Goode Homolosine equal area projection
having an 8-km grid (Smith et al., 1997).
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NDVI was computed as follows:

NDVI ¼ ðrch2 � rch1Þ=ðrch2 þ rch1Þ (1)

where rch1 and rch2 are reflectance factors of ch1 and ch2, respectively.
Grid meteorological data of the average air temperature at 2 m (T), the

downward solar radiation at the surface (SR) and the fraction of volumetric
soil moisture data at 10 cm below the soil surface (SW) were used to estimate
global NPP with the NDVI images. These data, T, SW and SR, were supplied
by the National Center for Environmental Prediction and the National
Center for Atmospheric Research (NCEP/NCAR reanalysis monthly data).
T was expressed in degree Celsius and SR was expressed in joules
(joule s�1 m�2) in the analysis. The NCEP/NCAR reanalysis monthly data
were stored as grid data of approximately 1.9 degrees in resolution on a
longitude and latitude coordinate system (Kalnay et al., 1996).

The IGBP-DIS global land-cover data set was used to identify vegetation
types, and NPP was estimated by allocating an individual LUE to each
vegetation type. The IGBP-type map, which was the simplest vegetation
type map in the IGBP-DIS data set, was used, since LUE data were in-
sufficient for other maps. The IGBP-DIS land-cover data was stored in the
Interrupted Goode Homolosine equal area projection having 1 km grid
(Loveland et al., 2000).

The PAL images, the NCEP/NCAR reanalysis monthly data and the
IGBP-DIS land cover data were re-projected onto a longitude and latitude
coordinate system having a 0.072 degree grid, the nearest neighbour re-
sampling was applied to the PAL images and the IGBP-DIS land cover data,
and the bi-linear resampling was applied to the NCEP/NCAR reanalysis
monthly data.

2.2 Intensity Correction

The data obtained in the period between 1988 and 1990 in the middle of the
NPP analysis period were selected as a standard, because the atmosphere
seemed to be clear globally during these years based on inter-annual
changes of global average ch1 intensity and atmospheric turbidity (Mete-
orological Agency of Japan, 1999). During this period, there were no effects
of ash from volcanic eruptions such as the eruption of Mt. El Chichon in
Mexico in 1982 and the eruption of Mt. Pinatubo in the Philippines in 1991.

Since seasonal spectral variations of plants were larger in ch2 than in
ch1, different intensity correction procedures were applied to ch1 and ch2.
The averages of ch1 and ch2 in 1988, 1989 and 1990 were computed for each
pixel and each month as the standards (ch1s and ch2s, respectively). To
determine the equations for the intensity corrections, regressions between
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the standards and original images of ch1 and ch2 (ch1t and ch2t, respec-
tively) were computed as follows (Awaya et al., 2004).

2.2.1 Channel 1

A regression line, which crossed a point with reflectance factor of 50% for
both ch1s and ch1t, was calculated for each month using pixels, which were
sampled in the area between 401N and 351S (hereafter, standard area), as
follows:

rch1t ¼ ach1 � ðrch1s � 50Þ þ 50 (2)

where rch1s and rch1t are reflectance factors (%) of the standard and original
images, respectively, and ach1 is the regression slope.

2.2.2 Channel 2

Spatial and temporal standard deviation (SD) in a moving window of 3 by 3
pixels was computed for each monthly image set, which consisted of 17
channels of the same month from the images between 1982 and 1999. The
maximum SD among 12 images (months) was selected for each pixel in the
standard area. Pixels with a maximum SD less than 3.6% were chosen as
unchanged pixels. Relationships were analysed between reflectance factors
of ch2 s (rch2s(%)) and reflectance factors of original images (rch2t(%)) using
the selected pixels by a linear regression method as follows:

rch2t ¼ ach2 � rch2s þ bch2 (3)

where ach2 and bch2 are the slope and intercept of the regression, respectively.

2.2.3 Normalized Difference Vegetation Index

Reflectance factors of ch1 and ch2 were computed using the results of the
regression analysis as follows:

rcor ¼ ðrorg � bÞ=a (4)

where a is ach1 or ach2 for ch1 or ch2, respectively. b is 50� (1�ach1)/ach1 or
bch2 for ch1 or ch2, respectively. rcor is the corrected reflectance factors (%) of
ch1 or ch2, and rorg is the original reflectance factors (%) of ch1 or ch2.

The normalized difference vegetation index (NDVI) was computed using
equation (1) (corrected NDVI) and the corrected reflectance factors of ch1
and ch2. Averages of the original and the corrected ch1, ch2 and NDVI were
computed in the standard area for each month, and inter-annual changes of
all PAL parameters were compared to check the results of the intensity
correction.
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Biomass burning, air pollution and desert dust are other sources of aero-
sols and have a strong influence on atmospheric optical depth (Eck et al.,
1999) on a regional scale. For example, biomass burning occurs at all times
of the year and in many regions of the globe (Dwyer et al., 1998). However,
our atmospheric correction doesn’t take into account the effects of regional
biomass burning, air pollution and desert dust. Our omission of these effects
is expected to cause errors in NDVI correction on a regional scale.

2.3 NPP Estimation

2.3.1 Model

Numerous studies are based on the following two findings. NPP can be
obtained from the product of absorbed light and LUE of plants (Monteith,
1972), and NDVI is proportional to fAPAR (Asrar et al., 1984). Based on the
first finding, NPP is expressed as the product of fAPAR, PAR and LUE (e)
(equation (5)). The second finding allows fAPAR to be expressed as a linear
equation of NDVI with offset value close to zero (equation (6)):

NPP ¼ �� fAPAR� PAR (5)

fAPAR ¼ a�NDVIþ c (6)

Combining equations (5) and (6), equation (7) was derived to estimate NPP
as the product of NDVI, e and PAR, and was used in this study. Taking into
account air temperature effects and water stress, NPP is expressed numer-
ically as follows (Awaya et al., 2004):

NPP ¼ Sðf ðTÞ � f ðSWÞ � �0ðvÞ �NDVI� SRÞ (7)

where T is air temperature (1C) and SW is volumetric soil water content
(fraction). f(T) and f(SW) are responses of photosynthesis to T and SW, re-
spectively. SR is approximately twice PAR. e0(v) (g DW MJ�1) is LUE for
vegetation type v and was determined for NDVI and SR.

The photosynthetic rate is highest at the leaf temperature, at which
leaves experience commonly on sunny days during growing season (Chapin
III et al., 2002). The leaf temperature is the optimum temperature for pho-
tosynthesis. However, T was obtained from monthly average air tempera-
tures, including data for sunny, cloudy and rainy days. It was necessary to
determine the optimum air temperatures of plants (OPTM) using T, which
was similar to leaf temperature at the highest photosynthetic rate. There-
fore, it was assumed that OPTM were average air temperatures over the
warmer part of the growing season, when the air temperature was greater
than or equal to 10 degrees C (1C) in all parts of the land. This calculation
gives higher average air temperature than that during growing season, and
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may give closer air temperature on sunny days during growing season. A
function for the air temperature multiplier was determined according to the
air temperature response curves of the tree species’ photosynthesis (Semik-
hatova et al., 1992) by modifying the Gauss distribution curve as follows:

f ðTÞ ¼ 1=ðsqrtð2pÞ � 10Þ � expð�1=8� ððT�OTMPÞ=10Þ4Þ (8)

Since one pixel of PAL data covers about 64 km2, various species with
different photosynthetic capacities must grow within an area of each pixel.
Therefore, the optimum-temperature range was set broader than that of
single species. It was assumed that f(T) is dependent only on OTMP due to
the uncertainty of responses for various species.

Vegetation growth suffers seriously as a result of soil water deficit and
low air humidity. Therefore a soil water stress function was considered to
reduce errors in NPP estimation in arid and semiarid areas. Although the
response of vegetation to soil water deficit is complicated and varies by soil
type and species (Kozlowski and Keller, 1966), only loam soil and mesophytes
were considered. Since photosynthetic rate changes linearly against soil wa-
ter content in low SW (Maruyama and Toyama, 1987; Larcher, 2003), a linear
multiplier f(SW) was determined as follows based on the literature (Larcher,
2003) when SW is less than 0.2. The f(SW) was applied in areas where NDVI
was less than 0.42:

f ðSWÞ ¼ ðSW� 0:12Þ=0:08 (9)

f(SW) was set to 0 when SW is less than 0.12 (permanent wilting point).
Since stress is small in high SW (Maruyama and Toyama, 1987; Larcher,
2003), the stress was neglected and f(SW) was set to 1 when SW was over 0.2.

2.3.2 LUE Setting and NPP Estimation

Because LUE depends on the vegetation type (Gower et al., 1999), different
e0 values were used for different vegetation types, which were defined in the
IGBP-DIS land cover map. The maximum photosynthetic rate is nearly
proportional to the maximum relative growth rate (Chapin III et al., 2002),
which is NPP during ideal environmental conditions for vegetation growth.
Area-based photosynthetic capacity is a good measure of the photosynthetic
rate per unit available light (Chapin III et al., 2002). Therefore, we assumed
that the maximum photosynthetic rate was an indicator of LUE and pro-
portional to LUE among ecosystems. Deciduous temperate forests, which
have a medium photosynthetic rate among global natural vegetation
(Larcher, 2003), were selected as the standard to determine e0(v). A con-
stant LUE was determined at first for global vegetation by a linear regres-
sion analysis using the climatic potential NPP and the products of NDVI and
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SR (Awaya et al., 2004). The climatic potential NPP is computed only taking
into account the climatic conditions for plant growth, and was computed
using the Chikugo model (Uchijima and Seino, 1985) in this study.

The constant LUE was calculated as 0.494 g DW MJ�1 for net production.
This value was assumed to be the LUE of deciduous temperate forest. LUEs
(e0(v)) of other ecosystems of 17 IGBP-DIS types were calculated by multi-
plying the above value by the ratio of the maximum photosynthetic rate of
the ecosystem to deciduous temperate forest (multiple LUEs, Table 1). Since
natural vegetation has longer leafy periods than crops, mixture of natural
vegetation in crop fields within a pixel (mixture pixel or mixel) causes an
apparent longer leafy period than that of pure crops. It results in greater
NDVI in mixels than that in pixels of pure crops in seedling stage. Therefore,
the LUEs were averaged with weights, which were one for crops and two for
others, for mixed vegetation types with crops to reduce the effect of leafy
periods.

Global NPP was estimated using equation (7) using T, SW, SR and the
corrected NDVI for the period between 1982 and 1999. Kanda et al. (2002)
used 101C as a threshold of effective cumulative air temperature to estimate
plant growth in Japan. Poa spp. starts leaf extension at about 101C in the
lower Alps in Austria (Fitter and Hay, 2002). Thus, 101C would be a rea-
sonable choice of the cold air temperature limit for plant growth in the tem-
perate zones. We assumed 101C is the average of the cold air temperature
limit for terrestrial vegetation growth. The cold limit of growth temperature

Table 1: Weights for LUE setting

Categories Weight

Evergreen needleleaf forest 0.35
Evergreen broadleaf forest 0.70
Deciduous needleleaf forest 0.74
Deciduous broadleaf forest 1.00
Mixed forest 0.68
Closed shrublands 0.58
Open shrublands 0.58
Woody savannas 1.75
Savannas 1.75
Grasslands 0.85
Permanent wetlands 0.47
Croplands 1.78
Urban and built-up 0.35
Cropland/natural vegetation mosai 1.03
Snow and ice 0.00
Barren or sparsley vegetated 1.65
Water bodies 0.00
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depends on species, area and environment, and is not easy to determine on a
global scale. Therefore, for this study, NPP was computed for months with air
temperatures greater than or equal to 101C. NPP was also estimated using
the constant LUE (0.494 g DW MJ�1) for all vegetation, and the two results
were compared.

2.3.3 Inter-annual Variation Analysis

The total global NPP was calculated for each year by weighting areas of each
vegetation type using the multiple LUEs and a constant LUE. Inter-annual
changes of global NPP were examined by a scattergram and a linear re-
gression analysis for both LUE setting cases. Regional distribution patterns
of NPP were examined visually. The rate of NPP change was computed by a
linear regression analysis for each pixel after averaging NPP by a local
moving window of 11 by 11 pixels for the multiple-LUE-setting case. The
primary purpose of applying 11 by 11 pixel moving window was to reduce
effects of noise and to identify local inter-annual trends. Regional variations
in the rate of NPP change, i.e. the variations in the slopes of regressions in
the regional scale, were checked. Training areas were selected in areas with
the greatest NPP increase and decrease, and average values of T, SR, SW
and NDVI were computed for the training areas. Inter-annual trends of
these averages were depicted with scattergrams.

3 Results and Discussion

3.1 Intensity Correction

Pixels with lower and higher reflectance factors in the red and the near-
infrared channels, respectively, give higher NDVI values, which result in
higher NPP estimation in equation (5). Therefore it is very important to
adjust image intensity at lower reflectance factors of ch1. The reason why
setting the regressions, which cross 50% of reflectance factor, was to keep
better intensity adjustment in dark pixels to make NPP estimation more
accurate. This method will reduce the effect of misregistration of pixels and
mixels caused by a coarse resolution since the coefficients of determination
were between 0.821 and 0.972 for ch1 (Po0.01). For the case of ch2, it is
important to adjust intensity of dense vegetation pixels with higher reflect-
ance factors. Since differences of reflectance factors are great among land
cover and vegetation types, effects of misregistration and mixels are serious
in the regression analysis. We selected spatially and temporary homogeneous
areas for the regression analysis to reduce these effects. As a result, the
coefficients of determination were between 0.899 and 0.980 for ch2 (Po0.01).
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These high values suggest that the pixels were sampled appropriately, and
that the regression lines provided reliable intensity corrections.

Inter-annual changes of the averages were compared between the orig-
inal and the corrected imagery. The averages of ch1, ch2 and NDVI of orig-
inal data clearly changed with season (Figs. 1a, 2a and 3a). However, there
were some exceptions to this pattern. For the case of ch1, there were a clear
drop of the average from mid-1983 until early 1985, and a clear rise followed
by another clear drop from the middle of 1991 until the end of 1993. The
former and latter anomalies were caused probably by the eruption of Mt. El
Chichon and Mt. Pinatubo, respectively. Atmospheric turbidity or optical
thickness increased after these volcanic eruptions (Meteorological Agency of
Japan, 1999), and this probably caused errors in atmospheric corrections
during the PAL data processing.

The average reflectance factors of the original ch2 data shifted up at the
end of 1984 and 1988, and dropped remarkably in 1995. These changes
agreed with replacements of NOAA satellites (Kramer, 2002), and suggested
poor calibration of each AVHRR sensor. Above all, reflectance factors of the
original ch2 increased from 1989 until 1994 before a change of NOAA sat-
ellite (Kramer, 2002), and the reflectance factors dropped suddenly after the
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Figure 1: Changes in average reflectance in the standard area (channel 1).
Averages within areas between 401N and 351S were computed. (a) Original
PAL data, (b) the corrected data. Anomalies were observed clearly in the
original PAL data, while the anomalies were removed after the correction.
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change. Then the intensity increased again after 1995. The same trend with
ch1 appeared in late 1984 and 1993 in ch2, namely, a clear drop followed by
a clear increase followed by another clear drop. These inter-annual trends
suggested that the quality of the original ch1 and ch2 images was unreli-
able, and that the original NDVI, which was computed using the original
ch1 and ch2, was also unreliable. As a result, the original NDVI showed a
trend that was opposite to that observed in the original ch1 and ch2 in 1984
and between 1992 and 1993. We pointed out that the original NDVI tended
to increase since 1982, although there were many uncertainties in the PAL
data processing.

On the other hand, inter-annual change patterns of the corrected ch1,
ch2 and NDVI were cyclic (Figs. 1b, 2b and 3b). Global vegetation conditions
during the study periods were unclear, however, there was no report about a
severe vegetation damage on a global scale. Vegetation probably grew as
usual in most parts of the world during the study period. Thus, the corrected
results were probably reasonable. On the other hand, it should be noted that
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Figure 2: Changes of average reflectance in the standard area (channel 2).
Averages within areas between 401N and 351S were computed. (a) Original
PAL data, (b) the corrected data. The reflectance shifted up in 1985 and
1989, and the reflectance was increasing gradually. The reflectance dropped
in 1993 suddenly and increased again after a change of NOAA satellite at
the end of 1994. Similar anomalies with channel 1 also appeared in (a). On
the other hand, the anomalies were removed after the correction.
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plants change their spectra greatly season after season in the near-infrared
wavelength (Awaya and Tanaka, 1996, 1999; Kodani et al., 2002). There is a
risk that the seasonal spectral changes interfere with the correction of ch2,
although we sampled spectrally stable pixels for the correction.

3.2 Light Use Efficiency Setting

The PAL data were produced using the Global Area Coverage (GAC) data of
AVHRR (Smith et al., 1997). One GAC pixel is an average of sampled 4
pixels within pixels of five columns and three lines of the original AVHRR
data (Townshend and Justice, 1986). This means that one GAC pixel may
not represent the most common land cover of the area covered by original 5
by 3 pixels. Some GAC pixels are arranged in a coordinate system having
8 km grid in the PAL data, and the pixel with maximum NDVI during a
month is chosen for the monthly compositions. Therefore, the PAL data are
temporal and spatial mixtures of different ground objects and vegetation
species, and it is difficult to determine the appropriate LUE for each pixel.
Even though the IGBP-DIS vegetation map consisted of basic plant types
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Figure 3: Changes of average intensity in the standard area (NDVI). Av-
erages within areas between 401N and 351S were computed. (a) Original
PAL data, (b) the corrected data. Opposite trends of anomalies with channel
1 and channel 2 appeared in the original NDVI. The anomalies were re-
moved after the correction.
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based on plant physiognomy (Running et al., 1994a; Loveland et al., 2000),
the compositions of the plant species in the pixels varied. This suggests that
using LUEs, which were measured in the field in the literature (e.g. Gower
et al., 1999), would not be appropriate without adjustments. Therefore,
Awaya et al. (2004) used a constant LUE, which was determined by ana-
lysing the relationship between the climatic potential NPP and the sums of
products of NDVI multiplied by SR. On the other hand, the plant species
distributions show clear geographical gradients. Thus, it is necessary to take
into account both the geographical gradient of species and spatiotemporal
mixture of various species in the pixels. Therefore, the constant LUE of
0.494 g DW MJ�1 was supposed to be an average LUE of global natural
vegetation for the PAL data, and was used as a standard of LUE compu-
tation in this study (Table 1). Owing to the nature of the GAC data, the
appropriateness of the LUE-setting is unclear.

3.3 NPP Estimation

3.3.1 Inter-annual Change

The highest and the lowest annual global NPP were 58.3 and 62.6 petagram
(Pg) carbon in 1983 and 1998, respectively, for the multiple LUE-setting
case. For the case of the constant LUE-setting, the highest and the lowest
NPP were 51.0 and 54.8 Pg carbon in 1983 and 1991, respectively (Fig. 4).
The constant LUE-setting case was about 12% lower than the multiple
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Figure 4: Inter-annual changes in global NPP. The results of multiple and
a constant LUE-settings were compared. NPP of a constant LUE case was
about 8% smaller than the case of multiple LUE-setting. The slopes of the
regression lines show the annual rate of NPP increase.
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LUE-setting case. This shows that the LUE control has a big influence on
NPP estimation. The IPCC working group I cites 2 NPP estimations, which
are 59.9 and 62.6 Pg carbon per year, in the latest report (Houghton et al.,
2001). These values were similar to the NPPs estimated by the multiple
LUE settings, but greater than NPPs estimated by the constant LUE set-
ting. Intensive validation would be necessary to know the actual terrestrial
NPP distribution.

Although the atmospheric CO2 concentration is increasing steadily, its
rate of increase varies from month to month. The rate of increase appears to
be influenced by the CO2 uptakes of terrestrial and ocean ecosystems.
Therefore, the rate of changes in CO2 concentration (hereafter, CO2 change
rate) may show a similar inter-annual pattern to NPP. According to the
atmospheric CO2 measurements, the CO2 change rate was greater in 1983,
early 1988, early 1994 and early 1998 than in other periods. On the other
hand, the rate was smallest in early 1992, and was smaller in early 1990,
1996 and 1999 than in other periods (Meteorological Agency of Japan, 1999,
2002). A greater CO2 change rate in these periods than in other periods
suggests less uptake of CO2 by ecosystems (smaller NPP), and a smaller
change rate suggests the opposite. Valleys of NPP appeared in 1982, 1983,
1988, 1993 and 1996, and peaks appeared in 1985, 1986, 1991 and 1998
(Fig. 4). Although the cases of 1996 and 1998 didn’t agree with the atmos-
pheric CO2 change rate, our NPP estimation closely resembled to the inter-
annual change trend of the atmospheric CO2.

The regression coefficients in Fig. 4 suggest that global NPP was in-
creasing about 0.1 Pg annually (Po0.1) for the case of multiple LUE-
settings and about 0.08 Pg carbon annually (not significant) for the case of
constant LUE-setting. These results mean that global NPP increased about
3% during 20 years in the 1980s and 1990s. The carbon fixation by the
terrestrial ecosystem was estimated at �0.270.7 per year in the 1980s and
�1.470.7 Pg per year in the 1990s by atmospheric CO2 analysis (Houghton
et al., 2001). This suggests that carbon fixation by terrestrial ecosystem was
increasing roughly 0.12 Pg annually, and our NPP estimation showed a
similar result especially for the case of multiple LUE-settings. Though our
estimates of global NPP seem to be reasonable, the accuracy of the corrected
PAL and NCEP/NCAR data should be validated carefully to make more
accurate NPP estimation possible.

3.3.2 Regional Distribution

NPP was very small in the arid areas (the Sahara, the Gobi and Western
Australia), high mountains (the Himalayas, the Tibet plateau, the Andes
and the Rockies) and latitudes higher than 601 north as reported in the
literature (Chapin III et al., 2002; Larcher, 2003). NPP was obviously
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greater in Europe than other areas in the same latitudes, and NPP was
greater in the coastal regions than inland in low latitudes. NPP appeared to
be high in agricultural areas in the eastern USA, eastern China and Europe
(Fig. 5). The greatest NPP appeared not in the tropical forests but in the
tropical deciduous forests or savannas. The tropical rain forests have the
greatest NPP and the savannas have about a half the tropical rain forests
according to the literature (Chapin III et al., 2002; Larcher, 2003). Thus our
results were different from those obtained in previous ecological studies for
subtropical and tropical vegetation for the case of multiple LUE setting.
However, the constant LUE approach gave monthly NPP maps with more
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similar seasonal changes to NPP maps by ecological models in Cramer et al.
(1999). The geographical distribution of NPP obtained by the constant LUE
approach was more similar to that obtained by an ecological model (Ito and
Oikawa, 2002) than that obtained by the multiple LUE settings (Fig. 5).
Although the LUEs were based on the eco-physiological knowledge, the re-
sults seemed less reasonable than the constant LUE. An appropriate LUE-
setting method for the PAL data should be developed to make more precise
estimation possible as described previously.

3.3.3 Regional Variation of Inter-annual Changes

The inter-annual change rates of NPP varied region by region. However,
NPP appeared to be increasing in many parts of the world (Fig. 6). Myneni et
al. (1997) reported that plant growth was increasing between 1981 and 1990
due to lengthening of the active growing season, and the greatest increase
existed between 451N and 701N based on an analysis of NDVI images. Al-
though our analysis showed a great NPP increase in East Europe, the rate
was not the highest. The greatest rate of increase appeared in southern India
(121N, 791E) and in south-western Australia (28.51S, 125.51E). On the other
hand, the greatest rate of decrease appeared in Bolivia (19.51S, 601W) and in
the Southern Angola (14.51S, 20.51E). Inter-annual changes in T, SW, SR and
the corrected NDVI were checked in these four areas. No clear trend was
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tremely low NPP and were omitted in the regression analysis. (for colour
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observed in the NCEP/NCAR parameters except for SW and T in Angola.
However, NDVI has tended to decrease in Bolivia and Angola, and has
tended to increase in India (Fig. 7). Long-term trends in NDVI seemed to
have a strong influence in the regional variations of inter-annual NPP
changes, although no clear relationship between NPP and the parameters
was found in south-western Australia. The greatest NPP changes appeared
in semiarid areas where precipitation changes have significant impacts on
vegetation growth. The data in Fig. 6 suggest that changing precipitation
patterns have had a greater impact in semiarid areas than an impact in
boreal areas by increasing air temperature on vegetation growth. Although
NDVI values are also affected by factors such as land cover change, biomass
burning and so on, the NDVI images appear to show the effect of changing
precipitation patterns on vegetation growth in semiarid areas, which was
unclear in the reanalysis data. Therefore, NDVI appears to be a good indi-
cator of global change in vegetation.

4 Conclusion

An LUE-based NPP estimation model, which used NDVI data in the Path-
finder AVHRR Land (PAL) dataset, solar radiation, air temperature, and soil
water content, was applied to estimate global NPP and to analyse annual
and regional variations of NPP.

A regression-based intensity correction method was applied to PAL data
of ch1 and ch2, and NDVI was computed using these data. Anomalies in
monthly global average in the original ch1, ch2 and NDVI data were greatly
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reduced by the correction. The correction results seemed to be reliable
according to the evaluation of NPP inter-annual change trends. However,
regional events such as biomass burning, small volcanic eruptions, and
yellow wind, cause regional anomalies in the PAL images, and our intensity
adjustment method cannot remove these regional anomalies.

Since the NPP estimation was greatly influenced by LUE, it will be
necessary to develop a method to determine reliable LUEs for temporal
and spatial mixels of PAL data. Our NPP estimation showed that global
NPP was increasing between 1982 and 1999. The rate of NPP increase
was similar with the rate of carbon absorption by terrestrial ecosystems
based on atmospheric CO2 measurements (Houghton et al., 2001). Our
results demonstrate that PAL images after accurate radiometric corrections
can give reliable estimations of changes in NPP. We conclude that the
corrections of PAL data were successful in reducing anomalies caused by
huge volcanic eruptions on a global scale, and that the NPP estimation was
reasonable.

The inter-annual NPP changes were different in different regions. The
regional differences seemed to be caused mainly by inter-annual variation of
NDVI according to our analysis. The greatest NPP changes appeared in
semiarid areas. This suggests that precipitation changes have a great im-
pact on terrestrial NPP, which is a major component of the carbon budget.
Precipitation changes in semiarid areas should have a greater impact on
NPP than an increase air temperature in boreal areas.

The Terra satellite was launched in December 1999 and observations
using MODIS were started. The MODIS data should greatly improve the
accuracy of global vegetation analysis based on the original mission concepts
(Running et al. 1994b) by overcoming the problems in AVHRR data analyses.
However, the AVHRR data, which have been recorded since the 1970s, are
important records of terrestrial vegetation. A proper correction of the AVHRR
data will make analyses of global vegetation status in the last two decades
reliable. Therefore, the AVHRR data are still very important to understand
climatic impacts on terrestrial ecosystems under ongoing global change.
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Abstract

It is a well-known fact that atmospheric greenhouse gases are rapidly increasing within

these 100 years, however, the sinks and sources of these gases are not necessarily clarified.

Especially, sinks of carbon dioxide, which have the largest effects on global warming, are not

evident. Generation of global map of net primary production (NPP) using earth-observing

satellite data was performed in the research project named ‘‘International joint researches on

global mapping of carbon cycle and its advancement’’ sponsored by the Ministry of Education,

Culture, Sports, Science and Technology (MEXT). The results of this mapping project are

briefly described in this chapter. The first global NPP maps using satellite data, which cover

both ocean and continental ecosystems, have been obtained in this project. These global NPP

maps have sufficient accuracy for a primary approximation. However, many problems re-

main, and various efforts are required to increase the accuracy of the global NPP data.

Keywords: NPP; global NPP; AVHRR; SeaWiFS

1 Introduction

It is a well-known fact that atmospheric greenhouse gases are rapidly in-
creasing within these 100 years, however, the sinks and sources of these gases
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are not necessarily clarified. Especially, sinks of carbon dioxide, which have the
largest effects on global warming, are not clearly described. Many researches
have been done to clarify those sinks both in the land and the ocean. The
difficulties in these researches are that ground-based researches are executed
on a local scale and need a long period. For example, researches in forests need
at least 10 years for each independent forest to derive meaningful results.

A global map of net primary production (NPP) was produced using
earth-observing satellite data in the research project named ‘‘International
joint researches on global mapping of carbon cycle and its advancement’’
sponsored by MEXT. The results of this mapping project are briefly
described in this chapter.

2 Primary Production

It is necessary to estimate net carbon flux, which shows exchange of carbon
dioxide between the ecosystems and atmosphere, in order to identify sinks of
carbon dioxide (Field et al., 1998; Battle et al., 2000). However, only NPP
maps, which show uptake of carbon dioxide by ecosystems, were generated
in this project. The reasons are as follows. Vegetations on land and phyto-
plankton in the ocean both fix atmospheric carbon dioxide through photo-
synthesis process. This amount of fixation is called as gross primary
production (GPP). After the fixation (mostly in night), vegetations emit car-
bon dioxide by respiration. NPP is the amount of difference between GPP
and R (respiration). This way of retrieving NPP is the same both on land and
in the ocean. On the contrary, the induction of net flux (NEP: net ecosystem
production) is different between the land and the ocean.

Over land, carbon dioxide is further emitted through soil respirations
(Matamala et al., 2003). In order to estimate NEP, amount of these soil
respirations should be estimated, but estimation of the soil respiration is
rather difficult using satellite data. In the ocean, final carbon dioxide fix-
ations are achieved through sinking of dead phytoplanktons or their con-
sumption zooplankton or fishes. It is also very difficult to estimate the
fixation amount from satellite data (Baret and Guyot, 1991). In addition to
these biological processes, absorption and emission of carbon dioxide
through physical processes exist. It is necessary to know difference of
carbon dioxide partial pressures just above and below sea surface to esti-
mate this physical process. However, estimating difference of partial pres-
sures is also difficult from satellite data.

Although the target of this project was set to estimate NPP, not NEP for
those reasons above, the NPP maps obtained in this project are far from
completeness. Many assumptions accompany the NPP retrieval processes
both in the land and the ocean, and further, accurate validations have not
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yet been achieved on a global scale. However we suppose that these results
are still useful, and advanced and accurate NPP maps would be generated
through detailed investigations of our results.

3 Outlines of NPP Estimation

3.1 Methods

Primary production is given by a product of absorbed radiant flux and photo-
synthetic efficiency. Absorbed radiant flux is given by a product of total
radiant flux and absorption coefficient, while photosynthetic efficiency are
affected by atmospheric temperature, water supply, nutrient supply, and so
on. In the case of primary production estimation using satellite data, total
radiant flux is estimated from the satellite data and then photosynthetic
efficiency according to each target is determined. The total radiant flux
corresponds to photosynthetic active radiation (PAR) and can be obtained
from amounts of cloud retrieved from satellite data and solar irradiance at
the top of the atmosphere. As for PAR, PAR distribution maps obtained from
geostationary satellites are most appropriate, since PAR is an integrated
value over a full day and geostationary satellites observe the earth’s surface
hour by hour. Other parameters, which are required for NPP estimation, are
not specific and dependent upon each algorithm.

3.2 Estimation Over Land

Three algorithms were compared to estimate land NPP. In the first algo-
rithm, satellite data were used to estimate light absorption coefficients
(fraction of photosynthetical active radiation: fAPAR) and the light use effi-
ciency was fixed in this algorithm. The second algorithm used different light
use efficiency according to each vegetation type and satellite data. Light use
efficiencies were mainly determined on the basis of published field data. The
third algorithm was a process model and did not use satellite data, however,
results of this algorithm were used for comparisons. This process model used
land cover data and meteorological data as input parameters. After the
comparison of first and second algorithms, we decided to use the first algo-
rithm which showed a better result compared to the ground data and the
results of process model. The details of this algorithm are described in
chapter 15 of this book and Awaya et al. (2004). The second algorithm
showed higher values of NPP over agricultural fields. The reason for this
overestimate may come from the fact that light use efficiency of agricultural
fields was mainly decided by experiments in Japan. Light use efficiency of
agricultural fields may differ based upon nutrient fertilization, hence over-
estimation of NPP occurred in fields in developing countries.
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3.3 Estimation in the Ocean

Only one algorithm was used for NPP estimation in the ocean. The most
popular algorithm in this field is that given by Behrenfeld and Falkowski
(1997). In this algorithm, light use efficiency is given by a 7th order pol-
ynomial as a function of sea surface temperature. The coefficients of this
polynomial were obtained by a least squares fit to the in-situ measurements,
however, a 7th order polynomial is rather unnatural to describe natural
phenomena. In this project, light use efficiency was given by a function of
chlorophyll-a concentration obtained by satellite data considering vertical
light attenuation. As a result, light use efficiency was expressed by a 3rd
order polynomial of sea surface temperature. The details of this algorithm
are described in chapter 4 of this book and Asanuma et al. (2003).

4 Results and Discussions

4.1 Satellite Data Used

NOAA AVHRR Path Finder Land dataset between 1982 and 1998, which are
distributed by NOAA only for this period, were applied to calculate the land
NPP distribution. On the contrary, in the ocean, SeaWiFs dataset between
1998 and 2002, which are distributed by NASA, were applied to calculate
the ocean NPP distribution. We could retrieve the overlapping period of land
and ocean NPP map in 1998. The result and discussions for the year of 1998
are described in the following section.

4.2 Global NPP Map

Fig. 1 shows the daily mean of global NPP for each month in 1998, where
Fig. 1-(a) to (l), are corresponding to January to December. It should be noted
that one largest El-Nino occurred from the end of 1997 to 1998, and these
results could be slightly different from other years. On the land, large values
of NPP are obtained in tropical rain forests and savanna as well as boreal
forests around 50 to 60 degree north. In the ocean, large values are obtained
on the continental shelf regions, like the west coast of Africa, the East China
Sea, and the west coast of South Africa during phytoplankton bloom. In the
eastern equatorial Pacific ocean, which is known as the equatorial upwelling
region, a rather high NPP values was observed. Comparisons from Fig. 1(a)
to Fig. 1(l) exhibit a large seasonal change on a local scale.

Fig. 2(a) shows a monthly change of zonal mean of NPP. The highest
values are obtained in September to October at 10 to 0 degree north. These
areas correspond to the northern part of South America, a savanna in
Africa, and a part of Indonesia and Malaysia. These seasonal increases of
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Figure 1: Global NPP maps in 1998. (a) January, (b) February, (c) March,
(d) April, (e) May, (f) June, (g) July, (h) August, (i) September, (j) October, (k)
November, (l) December (For colour version, see Colour Plate Section).
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Figure 1 (Continued)
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Figure 1 (Continued)
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Figure 1 (Continued)
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NPP may correspond to rainy season in these areas. High NPPs are next
obtained in June to July at 30–50 degree north. These areas cover most of
the large crop field in the North America and the Eurasia, which correspond
to agricultural fields and exhibit a distinct seasonal change. In contrast, the
regions from 10 to 20 degree north and 0–20 degree south show rather high
NPP with very weak seasonal changes, where tropical forests are major
contributors with weak seasonal changes.

Fig. 2(b) shows a monthly change of meridional mean of NPP. The high-
est values are obtained in May to July between 30 and 40 degree east, where
the eastern part of Western Europe, some part of savanna, and some part of
tropical forests are included. As tropical forests show very weak seasonal
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Figure 2: Seasonal change of zonal and meridional mean NPP. (a) Zonal
mean. Horizontal axis corresponds to 80�80 degree from north to south and
vertical axis corresponds to January to December. (b) Meridional mean. Hor-
izontal axis corresponds to 0–3601 eastbound and vertical axis corresponds to
January to December (for colour version, see Colour Plate Section).

Global Mapping of Net Primary Production 391



change as discussed in a zonal mean of NPP, the seasonal change observed
between 30 and 40 degree may be the result of the change in savanna and
agricultural fields in Europe. This seasonal change is also evident between 0
and 30 degree east, where the western part of Europe could be a major
contribution. Next high NPP regions are observed from June to August
between 100 and 120 degree east, which covers the most of the South East-
ern Asia and exhibits high seasonal variations, because of agricultural fields
in this region. The North and South America also show high NPP values,
which is corresponding to the region between 110 and 40 degrees west. The
North America shows high seasonal variations, i.e. high NPPs in May to
September. South America, however, shows a small seasonal change be-
cause of tropical forests in this region.

However, it should be noted again that NPP in 1998 was influenced by a
large El-Nino event. Therefore the Western part of the American continent
had high-level precipitations, while Indonesia suffered from drought. Also,
NPP in the equatorial Pacific was rather small because of reduction of
equatorial upwelling in this zone.

4.3 Validations

As mentioned in the Introduction, validations of these values are extremely
difficult in the global scale. In this project, the results were validated using
data in China main land for the land products, and the North Western
Pacific and the equatorial Pacific Ocean for the ocean products. The details
of these experiments are described by Asanuma et al. (2003) and Awaya
et al. (2004). A correlation coefficient of 0.7 was derived in the validation of
NPP using the surface-based data in both the land and the ocean, which
shows some degree of credibility to the results of global NPP maps obtained
in this project.

5 Conclusion

The first global NPP maps using satellite data have been obtained in this
project. The accuracy of these global NPP maps is sufficient for a first-degree
approximation. However, many problems remain, and many efforts are re-
quired to increase the accuracy of the global NPP data.
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Chapter 17

Slash-and-Burn Agriculture in
a Japanese Cedar (Cryptomeria
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Toshiyuki Ohtsuka1,�, Wenhong Mo2, Masaki Uchida3, Hironori Sako2 and
Hiroshi Koizumi2

1Laboratory of Ecology, Ibaraki University, Ibaraki, Japan
2River Basin Research Center, Gifu University, Gifu, Japan
3National Institute of Polar Research, Tokyo, Japan

Abstract

On the temperate coast of central Japan, a unique agroforestry system exists, wherein red

turnips (Brassica rapa L. var. glabra Kitam.) are grown on slash-and-burn sites following the

harvesting of mature Japanese cedar (Cryptomeria japonica D. Don.) plantations. We studied

the effect of fire on nutrient dynamics, soil CO2 efflux, and microbial biomass at two slash-

and-burned sites. Burning, besides raising soil pH from acid to neutral, had an ash-fertilizing

effect, reflected by a large increase in soluble P (15.6-fold) and exchangeable cations (Ca, Mg,

and K) in the topsoils (0–5 cm). Burning resulted in a 4.8-fold rise in soil NH4-N because

moderate heating of the topsoil induced high microbial activities and, therefore, greater

mineralization of soil organic N. On the other hand, there was a pronounced increase in soil

CO2 efflux after burning, which may have resulted from the fire-induced high microbial

activity. Thus a significant amount of C was released not only by combustion of litter, but also

by decomposition of soil organic matter (SOM). Carbon and nitrogen fluxes during the growth
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of the turnip crop, however, were small compared to the total stocks of SOM accumulated in

the mature cedar plantation (CP) pre-fire. Moreover, soluble P content and pH of the topsoils

remained at post-fire levels until the end of the turnip growing season, while the initial

increases in soil inorganic N and exchangeable cations returned to pre-fire levels after a

single cropping season. We highlight the probable existence of a positive feedback response in

carbon sequestration during the fallow due to a higher NPP arising from the modified soil

conditions. When estimating the total carbon budget of slash-and-burn agricultural eco-

systems, this positive feedback needs to be balanced against the short-term increases in

carbon dioxide emissions from litter combustion and fire-induced CO2 efflux from soils.

Keywords: Cedar plantation; microbial biomass; nutrient dynamics; slash-and-burn
agriculture; soil CO2 efflux

1 Introduction

Slash-and-burn agriculture is a common farming system in tropical regions.
Nutrient cycles in forest ecosystems are greatly affected by the burning that
is an inherent part of slash-and-burn agriculture. Numerous studies have
shown that the burning of forest generates a flush of available soil nutrients
(Nye and Greenland, 1960; Ewel et al., 1981; Jordan, 1989; Romanya et al.,
1994; Juo and Manu, 1996; Nakano and Miyauchi, 1996). The flush of nu-
trients is lost through erosion and leaching and is quickly exhausted by
growing plants (crops and weeds), which then results in a decline in crop
yields (Uhl, 1987; Jordan, 1989). Moreover, ecosystem carbon dynamics are
affected by slash-and-burn agriculture because significant amounts of C
might be lost by burning in a short time period. Biomass burning, such as
natural fire and slash-and-burn agriculture, is considered a large CO2

source, particularly in the tropics (Tulaphitak et al., 1985b; McNaughton et
al., 1998; Hougton, 2000), and thus, net land–atmosphere carbon flux is
around zero in the tropics (Schimel et al., 2001).

On the other hand, a number of studies have focused on ecosystem re-
covery through secondary succession in fallow areas (Tergas and Popenoe,
1971; Toky and Ramakrishnan, 1983; Williams-Linera, 1983; Uhl and
Jordan, 1984; Kleinman et al., 1996; Palm et al., 1996; Lawrence and
Schlesinger, 2001) and have reported that soil fertility can take from 5 years
to more than 10 years of fallow to recover under traditional slash-and-burn
agriculture (Nakano, 1978; Reading et al., 1995). While crop yields do indeed
decline rapidly in traditional slash-and-burn agricultural areas, net primary
productivity (NPP) can increase dramatically after abandonment in fallow
(Uhl, 1987).

Slash-and-burn agriculture is on the decline in temperate regions (Kang
and Iizumi, 1981; Kamada et al., 1987; Hidaka et al., 1993). However, a
unique agroforestry system exists in coastal mountain regions of central
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Japan to grow red turnips (Brassica rapa L. var. glabra Kitam.) and gene-
rate a value-added commodity. Under this unique agroforestry system, Jap-
anese cedar (Cryptomeria japonica D. Don.) plantation is harvested for
timber, the undergrowth and trimmings are burned, and a crop of red tur-
nips is grown. There are some studies of the relationships between nutrient
dynamics and microbial activity under slash-and-burn agriculture in tem-
perate regions (Su et al., 1996, 1997). However, few studies from temperate
regions have suggested that the short-term losses from carbon pools caused
by burning and fire induce change in soil CO2 efflux (Wüthrich et al., 2002).

Given the paucity of data on carbon and nutrient dynamics under slash-
and-burn agriculture, especially in temperate regions, this study sought to
clarify the effects of burning on available soil nutrients, soil CO2 efflux, and
microbial biomass. We also discuss the effects of fire on increasing soil
emissions of CO2 under slash-and-burn agriculture as related to changes in
soil microbial biomass and nutrient dynamics.

2 Materials and Methods

2.1 Study Sites

The coastal mountain area of Sanpoku Township, Niigata Prefecture in
central Japan (381280N, 1391360E) was chosen as the study site. Climato-
logical data were obtained from the nearby Murakami meteorological sta-
tion (381140N, 1391290E, 10 m a.s.l.). Mean annual air temperature was
12.31C, with a monthly mean high of 25.11C in August, and a monthly mean
low of 1.31C in January. Mean annual rainfall was 2,094 mm, with thick
snow cover from December to April.

Over 90% of Sanpoku Township is covered by forests: 40% of the area is
Japanese cedar plantations (CPs), the remainder being secondary cool-
temperate deciduous broadleaf forest. Moreover, agroforestry is common in
the mountainous areas of Sanpoku; CPs are regenerated as part of a slash-and-
burn agricultural cycle in which red turnips are produced as a value-added
commodity. Cedar saplings are replanted to regenerate after only one or two
turnip crop. Generally, about 10 ha of clear-felled (CF) CP is burned every year.

2.2 The Slash-and-Burn Sites

2.2.1 Sites Measured in 2001

A 78-year-old CP that had been recently CF for slash-and-burn agriculture
(SA01 site) and a nearby intact 80-year-old CP site were selected in 2001.
The SA01 and CP sites were on south-facing slopes. Cedar trees at the SA01
site were CF for timber harvest in December 2000, and trimmed branches
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and twigs were left on the forest floor. In mid-June 2001, the remaining
forest understory was cut and all the slash (trimmed branches from logging
and cut understory) was leveled by hand to prepare for the summer burning.
In early August 2001, a 10 m� 10 m permanent quadrat, which was divided
into 25 2 m� 2 m subplots, was established in a mid-slope position at each
site for measuring soil CO2 efflux and soil nutrients. The slash and litter
over the entire SA01 site was burned during the night of 16 August 2001.
The permanent quadrat of SA01 site was defined with metal stakes enabling
the field investigations to be conducted at exactly the same site before and
after burning. Red turnip seeds were sown by direct seeding the day after
burning and took several days to germinate to almost 100%. Weeding and
thinning were conducted on one or two occasions in September and the
turnips were harvested in mid-October.

2.2.2 Sites Measured in 2002

A 70-year-old CP on a west-facing slope about 4 km north-east of the SA01
site was selected in 2002 (SA02 site). The site had been CF for slash-and-
burn agriculture in December 2001. The agricultural procedures conducted
at the SA02 site were the same as those conducted at the SA01 site, with the
slash being burned on the night of 10 August 2002. A 10 m� 10 m perma-
nent quadrat (divided into 25 2 m� 2 m subplots) was set in a mid-slope
position of the SA02 site in early August 2002 for soil CO2 efflux and soil
microbial biomass measurements. A 10 m� 2 m quadrat (divided into five
2 m� 2 m subplots) was established about 5 m above the SA02 site and was
protected from burning so it could be used as an unburned control CF site.

2.3 Nutrient Pools in Above- and Below-Ground Litters

Prior to the burn at the SA01 site, carbon and nutrient pools in above- and
below-ground litters were measured in July 2001. The above-ground dead
plant material, principally slash composed of cedar twigs and boughs, was
collected within five 1 m� 1 m plots randomly located near the permanent
quadrat of the SA01 site. The below-ground component, defined as biomass
and necromass of roots in the soil to 0–10 cm depth, was also carefully
excavated from the five plots. For each plot, the total fresh weight of above-
and below-ground litters and dry weight of oven dried (448 h at 701C) sub-
samples were measured. Total C and N of the dried samples were measured
using an NC analyzer (Sumigraph NC-800, Sumika Chemical Analysis
Service, Ltd.). The dried samples were digested by nitric acid for chemical
analysis. Phosphorus was determined colorimetrically. Potassium, Ca, and
Mg were determined by an ICP spectrometer (SPS4000 Plasma Spectro-
meter, SEIKO Corporation).
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2.4 Soil Nutrient Contents

At the CP site, soil samples were taken four times at monthly intervals from
August to November 2001. At the SA01 site, soil samples were taken prior to
the fire (August 11 and 16), immediately after the fire (August 18 and 20),
during crop development (September 14, October 9), and after harvest
(November 21). At each sampling date, in the permanent quadrats of both
the CP site and the SA01 site, ten soil volumetric cores (100 cm3) of topsoil
beneath the litter (0–5 cm deep) were obtained at randomly located posi-
tions. These cores served for the measurement of bulk density and gravi-
metric soil nutrient contents. Fresh soil samples were used to measure soil
pH [soil:water ratio of 1:2.5 (g/g)] and the standing stock of soil inorganic N
(NH4-N and NO3-N). Inorganic N was extracted by 1.5 M KCl solution and
measured colorimetrically. Total C and N contents of dried soil were meas-
ured using the NC analyzer. Soluble P in the topsoil was extracted by Truog
solution (0.1 N H2SO4) and quantified colorimetrically. Exchangeable cat-
ions in the topsoils (Ca, Mg, and K) were extracted by 1 M ammonium ac-
etate solution (pH 7.0) and measured by analysis with the ICP spectrometer.
Volumetric soil nutrient mass (kg ha�1) was evaluated from the products of
gravimetric soil-nutrient content and soil bulk density.

2.5 Soil CO2 Efflux Measurements

The soil CO2 efflux was measured using a portable soil respiration system
(LI-6400, LI-COR, Lincoln, NE, USA) connected to a soil respiration cham-
ber (LI-6400-09, LI-COR) of 9.5 cm diameter and 991 cm3 volume. In 2001,
the CO2 efflux was measured at 2 m intervals (i.e., 25 points and each point
was at the center of each subplot) of the SA01 and CP sites between 13:00
and 15:00 when the soil surface temperature reached the peak of the day. We
measured soil CO2 effluxes at 1-month intervals from July to November to
determine the seasonal changes at both the SA01 and CP sites. To clarify the
effects of fire on the soil CO2 efflux at the SA01 site, we also conducted CO2

efflux measurements in August on the same days as soil sampling before
and after burning. During each measurement, the soil temperature at
depths of 1 and 5 cm was measured using a soil temperature probe (Soil
Temperature Probe, Type E, LI-COR) and the volumetric soil water content
(SWC) at a depth of 0–12 cm was measured using a soil moisture sensor
(Hydro Sense, Cambell Scientific Australia). Continuous soil temperature
data were recorded at depths of 1 and 5 cm at both the SA01 and CP sites
once every 30 min by self-contained temperature loggers (StowAway Tidbit
Temperature Logger, Onset Computer Corporation, MA, USA).

In 2002, CO2 efflux was measured before and after burning at the SA02
site at 2 day intervals (August 9, 10, 14, 16, 18, and 20) and compared to that
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of the unburned control CF site (the same methods of measurement were
used as in 2001). Soil temperature and SWC were also measured during
each measurement using the same methods as in 2001, as were the con-
tinuing soil temperature data at depths of 1 and 5 cm for both the SA02 and
CF sites.

2.6 Soil Microbial Biomass

There is a close linear relationship between the concentration of adenosine
triphosphate (ATP) in soil and the concentration of microbial biomass C over
a wide range of soils (Contin et al., 2001). In addition, ATP measurements
are more sensitive than fumigation-extraction or fumigation-incubation for
measuring low concentrations of microbial biomass (Contin et al., 2001;
Castellazzi et al., 2004). Due to the CF management of the SA02 and CF
sites, the concentrations of microbial biomass C at these sites were expected
to be relatively low, so soil ATP was chosen as a surrogate measure of micro-
bial biomass in the present study.

Soil samples were taken five times, before and after burning (August 9,
12, 14, 16, and 18 in 2002), at the SA02 and CF sites, respectively. At each
sampling date, five soil samples were taken by cutting a 10 cm� 10 cm block
to a depth of 5 cm.These soil samples were freeze-dried immediately and
then carefully broken up to pass a 2 mm mesh sieve and prepared for ATP
measurement. Soil ATP was extracted from 1 g soil by 10 ml TCA reagent, a
mixture of 0.5 M trichloro-acetic acid and 0.25 M Na2HPO4. The extractant
was diluted at a rate of 1:100 with AF-2B1 solution (TOA Corporation,
Tokyo, Japan), and 100ml aliquots of the diluted extractant were used to
determine the ATP concentration by the fire-fly luciferin-luciferase assay
system (AF-70, DKK. TOA Corporation).

3 Results

3.1 Pre-Burning Soil Condition, Organic Matter, and
Nutrient Pools

Above-ground plant litter (slash) at the SA01 site totaled 15.2 Mg ha�1

(7.5 Mg C ha�1 for carbon base), nearly five times the mass of below-ground
litter (Table 1). The total N, P, K, Ca, and Mg pools in the litter at the SA01
site, including above- and below-ground parts, were 221.6, 13.6, 22.8, 231.4,
and 35.2 kg ha�1 respectively.

While soil pH at both sites was acidic, it was significantly lower at the
SA01 site than at the CP site (Table 2). Bulk density and total C and N
contents of the topsoil (0–5 cm) did not differ significantly between the SA01
and CP sites. The soil inorganic N fractions (NH4-N and NO3-N) were nearly
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three-fold greater at the SA01 site than at the CP site. Soluble P and ex-
changeable cations in the topsoils, except for K, were significantly lower at
the SA01 site than at the CP site.

3.2 Effects of Burning and Nutrient Dynamics During the
Turnip Crop

The soil pH at the SA01 site was elevated significantly by more than 1 unit
(6.770.05) soon after burning and remained near neutral throughout the
growth of the turnip crop (Fig. 1). During the same period, soil pH at the CP

Table 1: Total carbon and nutrient pools in above- and below-ground litters
at the pre-burn SA01 site

Dry mass (Mg ha�1) Nutrient mass (kg ha�1)

Dry
weight

C base N P K Ca Mg

Above-ground 15.272.6 7.571.3 183.3731.6 10.671.8 14.372.5 199.5734.4 26.674.6
Below-ground
(0–10 cm)

3.371.6 1.470.7 38.3719.0 3.071.5 8.574.2 31.9715.9 8.674.3

Total 18.573.7 8.871.7 221.6743.5 13.672.8 22.875.7 231.4743.8 35.377.5

Note: Values are mean7one SE (n ¼ 5).

Table 2: Properties and nutrient contents of the surface soil (0–5 cm) of the
pre-burn SA01 and the CP sites

SA01 site CP site

pH 5.670.08 5.870.03�

Bulk density (g cm�3) 0.4870.05 0.4870.01ns

Total C (%) 7.7270.80 6.7670.15ns

Total N (%) 0.5070.06 0.4270.01ns

C/N ratio 15.770.19 16.170.21ns

Inorganic N (mg N g�1)
NH4-N 28.672.76 11.070.56���

NO3-N 25.473.17 7.770.51���

Soluble P (mg P2O5 g�1) 16.272.42 31.473.81��

Exchangeable cations
Potassium (mmolC g�1) 19.071.73 14.371.19ns

Calcium (mmolC g�1) 174.1715.13 231.675.29��

Magnesium (mmolC g�1) 54.573.04 76.071.06���

Note: Values are mean7one SE (n ¼ 10). Superscript letters indicate the result of t-test:
�
p%0.05;

��
p%0.01;

���
p%0.001;

ns

not significant.
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site stayed in the range 5.4–5.9. The NH4-N content of the topsoil at the
SA01 site rose significantly from 2972.8 mg g�1 before burning to
130719.8mg g�1 the day after burning (Fig. 2a). After this initial increase,
the NH4-N content of the topsoil gradually decreased, reaching pre-burn
levels in mid-November (2672.7 mg g�1). In contrast, the pre-burn NO3-N
content of the topsoil (2573.2 mg g�1) remained unchanged after burning
(2473.8mg g�1, Fig. 2b) and then underwent a slow decline, reaching
1472.5 mg g�1 by mid-November. Inorganic N content of the topsoil at the
CP site, which was initially lower than that at the pre-burn SA01 site,
remained constant during the growth of the turnip crop and then rose,
especially NO3-N, in November after the turnips were harvested (Fig. 2b).

At the SA01 site, soluble P content of the topsoil increased 15.6-fold from
16.272.4 mg P2O5 g�1 before burning to 248.2736.5mg P2O5 g�1 the day
after burning (Fig. 3a). Soluble P content of the topsoil decreased in mid-
October during crop development, subsequently rising back to the imme-
diate post-fire levels (256.0744.2mg P2O5 g�1) in mid-November after the
turnip harvest. In contrast, soluble P content of the topsoil at the CP site
remained constant at a lower level (16.9–42.1mg P2O5 g�1) throughout the
growing season.

Exchangeable cations in the topsoils at the SA01 site increased signifi-
cantly after burning: 1.970.17 to 4.471.04 mmolC g�1 for K, 17.471.51 to
47.0711.68mmolC g�1 for Ca, and 5.570.30 to 9.171.5 mmolC g�1 for Mg
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Figure 1: Soil pH levels at the CP site (3) and at the SA01 site (d). Vertical
bars represent7one SE of the mean (n ¼ 10). The SA01 site was burned on
16 August 2001. Superscript letters indicate the results of one-way ANOVA;
means with the same letters are not significantly different by Scheffe’s test
at each site (p ¼ 0.05).
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(Fig. 3b–d). However, exchangeable cations in the topsoils had decreased
within the 2 days following the first post-fire sampling. The concentrations
of these exchangeable cations of the topsoils dropped during the period of
the turnip crop, reaching levels similar to those at the CP site by mid-
November.

3.3 Total Carbon and Nitrogen Contents in the Topsoil

Fig. 4 shows the change in total carbon and nitrogen contents of the topsoils
(0–5 cm) over the period of the turnip crop at the SA01 and CP sites. Total
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Figure 2: Inorganic N content (mg N g�1) in the surface soil (0–5 cm) at the
CP site (3) and at the SA01 site (d). (a) NH4-N, (b) NO3-N. Vertical bars
represent7one SE of the mean (n ¼ 10). The SA01 site was burned on 16
August 2001. Superscript letters indicate the results of one-way ANOVA;
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carbon and nitrogen contents at the SA01 site increased slightly before
burning and more the day after burning but then decreased gradually over
the crop period, reaching pre-burn levels in mid-November. Total carbon and
nitrogen contents at the CP site increased gradually during the same period.

3.4 Effects of Slash-and-Burn on Soil CO2 Efflux

Soil CO2 effluxes at the first slash-and-burn site (SA01) were significantly
higher than in the 80-year-old CP site in July and August before and after
the burning, ranging between 944.6 and 1,196.5 mg CO2 m�2 h�1 at the
SA01 site and 800.9–904.0 mg CO2 m�2 h�1 at the CP site (Fig. 5a). A
marked increase in CO2 efflux was detected after the burning at the SA 01
site. Soil CO2 efflux values at the SA01 site were similar to those of the CP
site from September to November (within the range 231.8–759.6 mg
CO2 m�2 h�1). Soil temperature at �5 cm fluctuated more at the SA01 site
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(ca. 101C difference between daily maximum and minimum) than at the CP
site (ca. 21C difference; Fig. 5b), and mean soil temperature at –5 cm bet-
ween 13:00 and 15:00 was higher at the SA01 site than at the CP site (data
not shown). The break in continuity of soil temperature data at the SA01
site was due to removal of the data logger before the burning. SWC at each
CO2 efflux measuring event showed no significant differences (t-test,
po0.05) between the SA01 and CP sites (ranged between 17.4 and 31.6%
at the SA01 site, and 21.1–34.5% at the CP site; Fig. 5c). Fig. 6 shows that
the soil CO2 efflux was significantly correlated with soil temperatures
at �5 cm over the measuring period. This indicated that soil temperature
was the principal control on seasonal variation in soil CO2 efflux at both the
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SA01 and CP sites. The Q10 of temperature sensitivity of CO2 efflux was
higher at the SA01 site (2.330) than at the CP site (1.976).

3.5 Effects of Burning on Soil CO2 Efflux and Microbial
Biomass

Changes in soil CO2 efflux before and after burning at the SA02 site are
shown in Fig. 7a, with values from the CF site shown for comparison. Before
the burning on August 9 and 10, values of soil CO2 efflux were slightly
higher at the CF site (641.7–744.2 mg CO2 m�2 h�1) than at the SA02 site
(484.4–543.3 mg CO2 m�2 h�1). There was no significant change in soil CO2
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efflux at the CF site during August 9–20, and values ranged between
540.5–822.2 mg CO2 m�2 h�1. Significant increases in soil CO2 efflux were
detected on August 14 and 16 (four and six days after the burning) at the
SA02 site, and CO2 efflux values were 58 and 28% higher than those at the
CF site on August 14 and 16, respectively. However, soil CO2 effluxes on
August 18 and 20 (8 and 10 days after the burning) at the SA02 site de-
creased to similar levels as those of the CF site (581.27201.8,
686.47344.3 mg CO2 m�2 h�1 at the SA02 site and 693.37222.5,
540.57156.3 mg CO2 m�2 h�1 at the CF site). Soil temperature at –5 cm
and SWC showed no significant differences (t-test, po0.05) between the
SA02 and CF sites, indicating that the burning may have enhanced soil CO2

efflux, at least for several days after the burning.
Soil ATP concentrations in the 0–5 cm layer were slightly higher at the

CF site than at the SA02 site (Fig. 8). Soil ATP concentration slightly de-
clined in the 2 days after burning at the SA02 site, but had significantly
increased by 6 days after burning. On the contrary, there were no significant
differences in soil ATP concentrations between 2 and 8 days after burning at
the control unburned CF site.
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4 Discussion

4.1 Effects of Burning on the Availability of Nutrients of the
Topsoil

One of the main advantages of slash-and-burn agriculture for crop growth
is the rapid release of mineral nutrients stored in the litter and soil organic
matter (SOM). The nutrient most effectively enhanced through burning at
this site was phosphorus (Fig. 3a), which is consistent with results reported
from a number of studies in tropical regions (Nakano, 1978; Tulaphitak
et al., 1985a; Romanya et al., 1994; Juo and Manu, 1996). The exchange-
able cations in the topsoils also significantly increased after burning
(Fig. 3b–d). Many authors also emphasize the significance of ash-fertiliza-
tion in raising the levels of these nutrients in soils under shifting culti-
vation in the tropics (Ewel et al., 1981; Uhl and Jordan, 1984; Nakano and
Miyauchi, 1996).

The temperatures needed to volatilize P and exchangeable cations are
significantly higher than N (Raison et al., 1985). Phosphorus, for example, is
lost by volatilization only when temperatures exceed 3601C (Romanya et al.,
1994), whereas available P increases with burning temperature up to 2001C
(Andriesse and Koopmans, 1984/1985; Kwari and Batey, 1991). Earlier,
during a burn at a nearby site subject to the same agroforestry system,
Tsuda et al. (1992) recorded maximum soil temperatures of 185.11C at the
surface, 105.51C at 2 cm, and 95.71C at 4 cm depth. Temperatures exceeding
501C lasted nearly 25 min at the soil surface, 8 min at 2 cm, and 5 min at
4 cm.Therefore, most of the increase in P and exchangeable cations in the
topsoils may have come from the ash of the burned surface litter in the
current study.

The fire gain of soluble P (volumetric soil nutrient mass on 18 August –
that on 16 August ¼ 28.0 kg ha�1) and exchangeable cations in the topsoils
were substantially greater than the nutrient pools existing in the pre-burn
litter (Table 1, 13.6 kg ha�1 for P) at the SA01 site. A similar situation was
noted by Kyuma et al. (1985). The cause of this discrepancy was not clear.
One of the reasons might be the result of an underestimation of litter pool,
since heterogeneously distributed large branches and stumps were not
sampled in the current study. Moreover, the fire gain of these nutrients may
not be explained by ash-fertilization alone, especially in the case of P. Avail-
able P content of the topsoil returned to post-burning level after the har-
vesting of turnips (Fig. 3a), while exchangeable cations in the topsoils
returned to pre-fire levels after a single cropping season (Fig. 3b–d). There-
fore, availableP in topsoil increased not only by ash-fertilization but also by
mobilization of inorganic and organic P as a result of increased pH
(Romanya et al., 1994).
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4.2 Nitrogen Dynamics and Microbial Activities

About three-fold increase in the soil inorganic N, especially NH4-N, after
burning has been widely reported from studies of shifting cultivation in the
tropics (Nakano, 1978; Kyuma et al., 1985; Reading et al., 1995). One of the
main reasons for the flush of soil inorganic N after burning is the release of
NH4

+ from protein-like components of organic nitrogen in litter and soil
(Raison, 1979). The fire gain of inorganic N in the topsoil (volumetric soil
nutrient mass on 18 August – that on 16 August) was 29.4 kg ha�1, only one
seventh of the N pool estimated to exist in the pre-burn litter (Table 1).

Soil inorganic N was gained not only by ash-fertilization but also by
enhanced mineralization of the SOM (Stromgaard, 1984; Andriesse and
Koopmans, 1987; Singh et al., 1991), despite the fact that heating of the soil
may have killed a fraction of the microorganisms in general. The influence of
fire on microbial activities depends on site specific differences in fire inten-
sity (Ahlgren and Ahlgren, 1965). Fire intensity differs with litter mass and
water contents of litter and soils, which in turn depend on the climate and
pre-burning weather and will be heterogeneously distributed within any
given site. At a slash-and-burned site located in a temperate climate, for
example, Su et al. (1996) reported that the microbial biomass and N min-
eralization rates were reduced in the subsurface soil layer immediately after
burning when soil surface temperature reached more than 400 and 781C at
5 cm depth. In contrast, in a relatively low temperature burn (401C at 5 cm
depth), microbial biomass was not reduced and N mineralization rate in-
creased immediately after burning (Su et al., 1997). In the present study,
microbial biomass was reduced by burning, but did not fall to zero in the
topsoils 2 days after burning at the SA02 site (Fig. 8). Moreover, microbial
biomass increased quickly in the 6 days after burning. Thus, moderate
heating of the topsoil at the SA01 site might have induced high microbial
activities soon after burning, and thus resulted in the higher N minerali-
zation rates.

4.3 Responses of Soil CO2 Efflux and Carbon Dynamics to
Fire

Fire-induced increases in microbial activities after burning result in an in-
crease in post-fire soil CO2 efflux. Some studies have found that there is a
pronounced increase in soil CO2 efflux after burning (Singh et al., 1991;
Wüthrich et al., 2002). For example, Wüthrich et al. (2002) examined the
effects of fire on soil CO2 efflux from a sweet chestnut forest in southern
Switzerland and demonstrated that the greater post-fire soil CO2 efflux
might have resulted from increased microbial activity and CO2 release from
below the topsoil, and that the enhanced soil CO2 efflux after a fire could last
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for 6 months. They also suggested that large amounts of easily available
organic carbon from the remains of plants, animals, and microorganisms in
the soil killed by above-ground fire, are rapidly decomposed by microorgan-
isms and significantly enhancing post-fire CO2 efflux.

The higher Q10 value of soil CO2 efflux at the slash-and-burn (SA01) site
compared to the unburned control CP site (Fig. 6) might be explained partly
by the enhancing post-fire CO2 efflux at SA01 site. It has been demonstrated
that the Q10 function intergrates all processes that influence seasonal soil
CO2 efflux, not only the temperature response of soil CO2 efflux, but also
seasonal changes in respirationary activities induced by changes in root
phenology, microbial biomass, and other factors (Mo et al., 2005). Fire-in-
duced increasing in microbial activities resulted in the enhancing post-fire
soil CO2 effluxes and therefore may induce a higher Q10 value for the SA01
site compared to the unburned control site.

This enhanced soil CO2 efflux after burning lasted at least one week in
the present study (Fig. 7a), and possibly longer considering that root res-
piration might greatly decrease at the slash-and-burn site (SA02) because
old roots were killed by fire and new roots of the turnip crop were still under
developing. On the other hand, root respiration may contribute a large pro-
portion to total soil CO2 efflux in the unburned control CF site across the
whole growing season. By direct measurements of root respiration, it is
estimated that root respiration at the slash-and-burn (SA02) site accounted
for 43% of total soil CO2 efflux for the pre-fire period (July 21 to August 10)
and decreased to 14% for the post-fire period (August 25 to October 4);
whileas soil respiration at the unburned control CF site contributed 43% to
the total soil CO2 efflux for the pre-fire period (July 21 to August 10), and
increased to 63% just after burning (August 11 to August 24), and contrib-
uted to 66% for the post-fire period (August 25 to October 4) (Sako, unpub-
lished data). Therefore, our results suggested that a significant amount of
carbon was released at the slash-and-burn agriculture sites, not only by
combustion of litter during the fire, but also by decomposition of SOM fol-
lowing the fire and during the growth of the turnip crop.

However, a decrease in SOM of the topsoil was not detected in this study
(Fig. 4). This means that carbon and nitrogen fluxes caused by burning at
the slash-and-burn agriculture (SA 01) site was small compared to the total
stocks of SOM accumulated in the mature plantation pre-fire. In an exper-
iment at San Carlos, the total stocks of nutrients in the soil did not appear to
be as seriously depleted by slash-and-burn as other treatments, such as
pasture establishment using bulldozers (Jordan, 1989). In this case, NPP
can increase dramatically after abandonment in fallow, while crop yields do
indeed decline rapidly in traditional slash-and-burn agricultural areas (Uhl,
1987).
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In the current study site, pH and available P content of the topsoil
remained at post-fire levels until the end of the turnip crop, while soil in-
organic N and exchangeable cations were increased by burning and then
returned to pre-fire levels. These soil conditions might result in higher car-
bon sequestration during the fallow in the slash-and-burn agricultureal
sites as a result of the higher NPP, as suggested by Uhl (1987). Therefore,
when estimating the total carbon budget of slash-and-burn agricultural ec-
osystems, the potential for this feedback increase in carbon sequestration
should be taken into account in addition to the temporary emissions of car-
bon dioxide from litter burning and subsequent fire-induced increment in
CO2 efflux. Long-term research on carbon dynamics beyond one annual
cycle is needed on slash-and-burn systems to better understand the increase
in carbon dioxide emissions from soil after burning and the feedback in-
crease in carbon sequestration during the fallow.
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Wüthrich, C., Schaub, D., Weber, M., Marxer, P., Conedera, M., 2002. Soil
respiration and soil microbial biomass after fire in a sweet chestnut forest
in southern Switzerland. Catena 48, 201–215.

Toshiyuki Ohtsuka et al.416



Chapter 18

Leaf and Shoot Ecophysiological
Properties and Their Role in
Photosynthetic Carbon gain of Cool-
Temperate Deciduous Forest Trees

Hiroyuki Muraoka� and Hiroshi Koizumi

Institute for Basin Ecosystem Studies, Gifu University, 1– 1 Yanagido, Gifu 501– 1193, Japan

Abstract

Plant ecophysiological properties including photosynthetic responses to environmental

conditions, canopy geometrical consequences with photosynthetic carbon gain and their sea-

sonality have considerable responsibility to the forest ecosystem carbon fixation. This paper

overviews these traits for canopy tree species in a cool-temperate deciduous broadleaved

forest of Takayama AsiaFlux site located in central Japan. Two-year measurements of leaf

CO2 gas exchange characteristics for full growing season on canopy tree species, Betula

ermanii and Quercus crispula, revealed that their photosynthetic capacity increases with

leaf expansion from late spring (mid-May) to early summer (June) in 2004 or mid-summer

(August) in 2003 and decreases in autumn (October). The delayed peak of photosynthetic

capacity in 2003 was associated with a prolonged rainy season that year. In contrast, sea-

sonal change of dark respiration was similar between the 2 years; the maximum was

observed at the start of leaf expansion and decreased by June when the leaf area matured.

Leaf- and shoot- (branch) level photosynthetic and geometrical consequences to canopy car-

bon gain were examined with a 3D structural–functional model, Y-plant. Simulations with

shoots at the canopy top of Betula and Quercus revealed that steeper leaf angle and higher

stomatal conductance of Betula contribute to maintaining a high photosynthetic activity by

reducing high light stresses, such as heat load and photoinhibition. Comparison of sunlit
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(canopy top) and shaded (inner canopy) shoots of Quercus revealed that the leaf display with

small self-shading of shade shoots is effective in receiving light incidence in the light-limited

environment, but prolonged sun fleck limits photosynthesis of the shade leaves by increasing

temperature and stomatal closure. These ecophysiological considerations of photosynthesis

and plant structure would provide us a deeper insight into the mechanistic understanding of

the forest ecosystem carbon gain in changing environments.

Keywords: canopy architecture; cool-temperate deciduous broadleaved forest; leaf
area index (LAI); phenology; photosynthesis

1 Introduction

There is a growing requirement of plant ecological and physiological under-
standing on terrestrial ecosystem carbon budget and dynamics since those
are the fundamental determinants of the ecosystem function. Photosyn-
thetic productivity of an ecosystem, namely gross primary production (GPP),
is mainly governed by leaf area distribution and leaf photosynthesis and
their seasonality. As the ecosystem carbon gain is affected by the relation-
ship between leaf ecophysiological characteristics and meteorological envi-
ronment, which would be largely heterogeneous in space and time and
different among the species composing a given ecosystem, an understanding
of these traits responsible for the ecosystem carbon gain provides us deeper
insight into the ecosystem function and further mechanistic analyses and
evaluation of ecosystem-scale observation by flux measurements and sat-
ellite remote sensing (Ehleringer and Field, 1993; van Gardingen et al.,
1997; Plummer, 2000). Considering the fact that an ecosystem behavior is
the integration of individual leaves, shoots (branch) and individual plants of
the species forming the ecosystem, revealing small-scale ecophysiological
behavior created by leaf photosynthesis and shoot-level properties would
provide us basic, but important, characteristics in the process of photosyn-
thetic carbon fixation of the ecosystem, which are necessary to estimate,
analyze, and predict the whole ecosystem CO2 flux of past, present, and
future world. This chapter aims at overviewing these traits for canopy tree
species in a cool-temperate deciduous broadleaved forest of Takayama Asia-
Flux site located in central Japan.

Forest ecosystems have been widely and intensively investigated, as
they are potentially large carbon sink. Studies from the viewpoint of such
ecosystem function are conducted by plant ecophysiology, meteorological
observation, satellite remote sensing, and model analysis (e.g., Field et al.,
1995; Baldocchi and Meyers, 1998; Ustin et al., 2004). The common question
of these different techniques has been raised for the phenology of canopy
leaf area and single leaf photosynthesis (Wilson et al., 2001; Xu and
Baldocchi, 2003) since they would determine the seasonality of ecosystem
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CO2 flux, which is responsible for the fluctuation of atmospheric CO2 con-
centration as can be recognized in the observation data (IPCC, 2001). In
tropical forest and arid ecosystems, rainy/dry seasons have remarkable
influences on the leaf area and photosynthetic phenology and hence eco-
system-level carbon gain, while temperature is the major climatic determi-
nant of the phenology in temperate, cool-temperate and high-latitude
regions (Larcher, 2001; Chapin et al., 2002). The deciduous forest ecosys-
tems widely distributed in temperate and cool-temperate regions can be
characterized by rapid temporal change of leaf biomass and CO2 gas ex-
change characteristics (i.e., photosynthesis and respiration) of the plant
species composing the forests. Efforts have been made for measuring the
seasonal patterns of leaf area index (LAI) and photosynthetic capacity in
some recent studies that would contribute to ecosystem-scale models and
analysis of the meteorological CO2 flux data (Wilson et al., 2001; Morecroft
et al., 2003; Xu and Baldocchi, 2003).

In Takayama AsiaFlux site in central Japan, CO2 flux has been meas-
ured since 1993 (Yamamoto et al., 1999; Saigusa et al., 2002; Murayama
et al., 2003) and ecological process observations such as tree biomass ac-
cumulation, soil CO2 efflux, and plant ecophysiological characteristics have
also been conducted to get ecological insights into the ecosystem-scale
measurements (e.g., Lee et al., 2003). Recently, model analyses and spectral
remote sensing measurements are also being used for mechanistic analyses
and continuous observation of the forest ecological characteristics. Among
these studies, plant ecophysiological data and understanding are required
for scaling the ecosystem function in time and space.

Photosynthetic carbon gain of a canopy is determined by the single leaf
photosynthetic traits and canopy geometrical characteristics (Caldwell
et al., 1986; Beyschlag and Ryel, 1999; Valladares, 1999). We would come
to know that various meteorological environmental conditions such as light
(photosynthetically active radiation, PAR), temperature and humidity affect
leaf photosynthetic activity via biochemical process and stomatal aperture
(Farquhar et al., 1980; Ball et al., 1987; Pearcy et al., 1994; Leuning, 1995).
However, what is important in the ecological context is the quantitative
evaluation of the consequence of environmental conditions and photosyn-
thetic activity. In a high-light environment at the canopy top, light as energy
for photosynthetic reaction exceeds the requirement in midday hours, and
such excessive light reduces photosynthetic activity via stomatal closure
and photoinhibition (Tenhunen et al., 1984; Ögren and Sjöström, 1990;
Osmond, 1994; Muraoka et al., 2000). Understanding the species-specific or
functional-type characteristics of the environment–leaf physiological rela-
tionship is essential in the mechanistic analysis of ecosystem function.

In addition to the single leaf-level properties, the geometrical (struc-
tural) characteristics of shoots, which are the aggregation of single leaves,
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are highly responsible for the leaf photosynthetic activity and hence can-
opy carbon gain (Pearcy and Valladares, 1999; Valladares, 1999). A model
estimation of plant photosynthesis at any organ (single leaf, shoot, branch,
and stem) without considering the plant structural characteristics would
mislead our understanding of canopy photosynthesis via over- or underes-
timation of light interception by the foliage. Leaf position and orientation in
a given canopy affect light interception and energy budget, and hence,
photosynthesis and transpiration at various time scales from seconds to
season. In a high light environment, excess light interception would reduce
photosynthetic activity; therefore, leaf orientation and leaf ecophysiolog-
ical traits, such as photosynthetic capacity and stomatal opening, should
have considerable effects on carbon gain, but these relationships may be
different between the canopy species if their successional status and/or eco-
physiological responses to light are different (Bazzaz, 1996; Kitao et al.,
2000; Valladares et al., 2002). The whole canopy structure also affects the
light environment of the leaves emerged in lower part of the canopy.
Reduction in light penetration through a canopy creates the gradient of
light availability among the shoots across the canopy, and leaves under low
light conditions should have different photosynthetic characteristics as
compared to those at the canopy top. This phenotypic differentiation has
been recognized as ‘‘light acclimation’’ and is suggested to be adaptive by
effective utilization of light resource in a canopy (Terashima and Hikosaka,
1995; Niinemets and Valladares, 2004). The different leaf photosyn-
thetic and shoot architectural characteristics between sun and shade envi-
ronments within a canopy would have different function in canopy carbon
gain as well as different environmental constraints on the physiological
activity.

This chapter focuses on the plant ecophysiological processes that are
responsible for forest canopy photosynthetic carbon gain in a cool-temperate
deciduous broadleaved forest, an AsiaFlux study site located in Takayama,
central Japan. We will show the seasonal changes of forest canopy LAI and
single leaf photosynthetic characteristics by field observations, and the con-
sequences of shoot architecture, leaf photosynthetic, and stomatal conduct-
ance characteristics and light environments on photosynthetic carbon gain
at shoot (branch) level by a simulation study.

2 Materials and Methods

2.1 Study Site and Plant Species

Field study was taken in a cool-temperate deciduous broadleaved forest (361080

N, 1371250 E, 1420 m a.s.l.) on the northwestern slope of Mt. Norikura, Japan.
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In this forest, a 1-ha study plot is situated as the Takayama experimental
forest for AsiaFlux research site and Institute for Basin Ecosystem Studies,
Gifu University. Annual mean air temperature and precipitation from 1980 to
2002 measured at the field station (about 300 m apart from the study site) are
7.21C and 2275 mm, respectively. The forest canopy is dominated by Quercus
crispula (Blume.), Betula platyphylla (Sukatchev) var. japonica (Hara), and
Betula ermanii (Cham.), and subcanopy and shrub layers are dominated by
Acer rufinerve (Sieb. et Zucc.), Acer distylum (Sieb. et Zucc.), Hydrangea
paniculata (Sieb.), and Viburnum furcatum (Blume. ex Maxim). The under-
story is dominated by an evergreen dwarf bamboo Sasa senanensis (Fr. Et
Sav.) Rehder. Of these species, Betula ermanii and Quercus crispula were
selected for our material tree species (hereafter referred to as Betula and
Quercus, respectively). Betula is a pioneer species and has thin crown in the
present multispecies deciduous forest, while Quercus is a mid-late successional
species and has multilayered crown, which often reaches to the shrub layer in
the forest. All these deciduous tree species flush their leaves after snowmelt,
while second flush (in early summer) can be found in birch with smaller leaf
area than the first one.

In the experimental forest, a canopy access tower (10 m� 10 m� 18 m
height) was established in winter of 2001 to access the foliage of dominant
canopy trees, three Betula trees (ca. 17–20 m tall) and two Quercus trees (ca.
12–15 m tall). Leaf gas exchange was measured periodically for several
shoots of these canopy species throughout the growing season from late May
to late October 2003 and 2004, and shoot architecture was measured in
summer 2003.

2.2 Evaluation of Forest Canopy Leaf Area Index

The forest canopy LAI was estimated by hemispherical canopy photographs
taken in the forest understory at 14 locations covering the 1-ha plot. Photo-
graphs were taken with a digital camera (CoolPix 910, Nikon, Japan)
equipped with a fish-eye lens (FC-E8, Nikon, Japan) mounted on a monopod.
The camera was carefully leveled by referring to a bubble level. A thin wire
was used to indicate south on the photographs. All photographs were taken
while the sky was overcast in midday or in late afternoon. The photographs
were analyzed with a commercially available software program, HemiView
2.1 (Delta-T Devices, UK). Gap fraction was determined for 160 specific sky
sectors on the photographs and sectors within 301 from the zenith were used
for the estimation of LAI. Data analyses for the selected area, thus, min-
imized the influence of trunk shadow and surrounding understory vegeta-
tion on upper slope of the observation points, which cover a significant area
of the photographs.
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2.3 Measurements of Leaf Gas Exchange

Relationship between net photosynthetic rate (A) and leaf intercellular CO2

concentration (Ci), and dark respiration rate (R) was measured to obtain the
leaf gas exchange characteristics. Measurements for three to seven intact
leaves in canopy species were taken periodically throughout the growing
season using a portable photosynthesis measuring system (LI-6400, Li-Cor,
Inc., USA). The A– Ci curves were obtained under constant photosynthet-
ically active photon flux density (PPFD) for light-saturation, air tempera-
ture, and leaf to air vapor pressure deficit (VPD, o1 kPa), and the CO2

concentration entering the leaf chamber (Ca) was changed from 0 to
1000mmol CO2 mol–1 air. Value of R was measured under the same air tem-
perature and VPD conditions with A– Ci curves but under Ca of
370mmol mol–1. Measurements at the canopy-top were taken in morning
hours (0800–1200 h) to avoid possible effects of photoinhibition, heat load,
and stomatal closure. Air temperature of the leaf chamber was adjusted to
the mean daytime air temperature of about 1 week before each measure-
ment day. Immediately after the gas exchange measurements, index of leaf
chlorophyll content (SPAD) was measured (SPAD-502, Minolta, Japan;
Markwell et al., 1995). Using thus obtained gas exchange data, maximum
carboxylation rate (Vcmax) and maximum electron transport rate (Jmax) were
calculated for shoot-level photosynthesis model Y-plant (see below), by using
the equations by Farquhar et al. (1980), Harley and Baldocchi (1995), and
Medlyn et al. (2002).

2.4 Measurements of Shoot Architecture and Photosynthesis
Simulation

Light capture and photosynthesis at the shoot scale were simulated with a
3D canopy architecture model, Y-plant (Pearcy and Yang, 1996; Pearcy et al.
2005). Y-plant simulates light interception and photosynthesis at leaf and
shoot levels to study the interactive effects of leaf ecophysiological proper-
ties and shoot architecture on plant carbon gain and growth (e.g., Pearcy
and Valladares, 1999; Valladares, 1999; Muraoka et al., 2003; Pearcy et al.,
2005). In this chapter, we utilized Y-plant to gain an implication of the
possible effects of leaf ecophysiology and shoot architecture specific to each
species on foliage CO2 fixation in summer. The calculations of light inter-
ception and photosynthesis include the effects of environmental conditions
around the shoots, ecophysiological properties of the leaves specific to spe-
cies and local light environment, and the structural characteristics (size,
orientation, and position of single leaves and hence mutual shading of the
leaves). Y-plant requires inputs of the angles, azimuths and length of stems
(internodes), petioles, and leaves, which construct a shoot. At each node
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within the shoot, the internode and petiole angles and azimuths, the angle
and azimuth of the leaf surface normal, and the azimuth of the midrib were
measured with a compass-protractor (Norman and Campbell, 1989). Leaf,
petiole and internode lengths were measured with a ruler and petiole and
internode diameters were measured with digital calipers. Coordinates for
leaf-blade shape were obtained by tracing representative leaves onto graph
paper and then recording the x- and y-coordinates for points on the leaf
margins starting at x ¼ 0 and y ¼ 0 at the point of attachment of the petiole.
The leaf shape thus determined was used to reconstruct the measured
leaves, whose areas were scaled by leaf length. Measurements of shoot geo-
metrical characteristics were taken for three sunlit shoots of Betula and
sunlit and shaded shoots of Quercus.

Calculation of light incidence was performed assuming open sky for the
shoots of Betula and sun shoots of Quercus, while hemispherical photo-
graphs were used for the shade shoots of Quercus. The measured shoots of
Betula and Quercus were rotated in azimuth angle of +901, +1801, and +2701
by Y-plant to simulate the different azimuth of whole shoot and treated as
replications to examine the possible range of light interception for the
shoots. For the shade shoots of Quercus, light interception and photosyn-
thesis were estimated for three shoots (not rotated) under the above 12
hemispherical photographs taken at a height of 3.5 m above ground. These
hemispherical photographs were analyzed with HemiView 2.1 software. The
photographs having 160 sky sections were used to estimate diffuse and
direct PPFD on the individual leaves in Y-plant, using the SOC (standard
overcast sky) algorithm to calculate the distribution of light over the sky. In
the computation of absorbed PPFD by the leaves, we assumed the leaf ab-
sorptance and transmittance of 0.85 and 0.10, respectively, for both Betula
and Quercus. The calculation of photosynthesis given below is based on this
absorbed PPFD.

The latest version of Y-plant contains photosynthesis (Farquhar et al.,
1980), stomatal conductance for water vapor (gsw), (Ball et al., 1987) and leaf
energy balance models to calculate the leaf CO2 gas exchange, stomatal
conductance, and transpiration rate by incorporating the interactive effects
of irradiance, temperature, and relative humidity/VPD (Baldocchi, 1994;
Valladares and Pearcy, 1999). The recent changes of Y-plant involve the use
of stomatal conductance model by Ball et al. (1987) and flexible settings of
temperature dependency of Vcmax and Jmax, which were different from our
previous study simulating the shoot-level photosynthesis (Muraoka and
Koizumi, 2005). These changes made more realistic estimates of photosyn-
thetic rate under high light conditions. Calculation of photosynthetic rate
requires light-saturated rate of gross photosynthesis (Agmax) at Ca of
370mmol mol–1, dark respiration (R), apparent quantum yield (a, set at
0.06), and convexity factor (y, set at 0.8) of light-photosynthetic curve, Vcmax
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and Jmax at temperature optimum (set at 303 K). Combined model of photo-
synthesis and stomatal conductance (gsw) was used to simulate both gsw and
photosynthetic rate as

gsw ¼ g0 þ a A hs=Cs (1)

where a and g0 are constants and were set at 8.48 and 0.243 for Betula, and
10.33 and 0.096 for Quercus, respectively; according to the empirical data,
hs is relative humidity and Cs is CO2 concentration at leaf surface. In
Y-plant, the above-combined model of photosynthesis and stomatal con-
ductance was used primarily to calculate the photosynthetic rate at light
saturation and the current intercellular CO2 pressure and leaf temperature
(Amax), and then it was applied to the light response of photosynthetic rate
modeled by Thornley (1976) as

A ¼
aI þ Amax �

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ðaI þ AmaxÞ

2
� 4yaIAmax

q

2y
� R (2)

Maximum PPFD in open sky (about 2400 mmol m–2 s–1 at horizontal
plane), maximum and minimum air temperatures and water vapor pressure
for the simulations were determined referring to the meteorological data
obtained at the canopy tower. In the simulations, two sets of minimum and
maximum air temperatures, 15–20 1C and 15–28 1C were applied. Ambient
CO2 concentration was set at 370mmol mol–1 and relative humidity at 80%.
The photosynthesis and stomatal conductance submodels of Y-plant output
the net photosynthetic rate and stomatal conductance at the sunlit and
shaded parts of a single leaf, and then the values were integrated with sunlit
and shaded leaf area for net photosynthetic rate of an entire single leaf. The
light interception and net photosynthesis of the shoots were obtained by
integrating the values for single leaves, and divided by total leaf area for
each shoot.

In addition to these gas exchange calculations, Y-plant can give outputs
of photosynthetic rate only calculated by light incidence using the model of
Thornley (1976). Comparison of photosynthetic carbon gain between those
calculated by above-combined model of photosynthesis-stomatal conduct-
ance and the solely light-dependent model (equation (2)) provides us to ex-
amine the stomatal and temperature limitation of photosynthesis.
Moreover, the latest version of Y-plant calculates the influence of photo-
inhibition on photosynthesis (Pearcy et al. 2005; Valladares et al. 2005). This
photoinhibition model is based on the findings of Ögren and Sjöström (1990)
and Werner et al. (2001) that reduction of photosystem II photochemistry
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(Fv/Fm) is affected by weighted PPFD dose for the previous 6 h of the target
time of the day. In Y-plant, Fv/Fm was estimated as a function of PPFD dose,
and the magnitude of reduction from predawn value (0.8) was then mul-
tiplied to a and y of photosynthetic light response curve shown above. Thus,
we can obtain the photoinhibited photosynthetic rate. Comparison of photo-
synthetic rate estimated by the combined photosynthesis-stomatal conduct-
ance model and that by this photoinhibition model provides us to evaluate
the photoinhibitory limitation of photosynthesis in a sunny high light en-
vironment.

3 Results and Discussion

3.1 Seasonal Changes of Forest Canopy Properties

3.1.1 Leaf Area Index

Two-year measurements of LAI by using the hemispherical photography
analysis showed remarkable changes in LAI over the growing season of
deciduous canopy tree species (Fig. 1a). The low values of about 1.0 at the
beginning and end of the season reflect the projected area of branches. LAI
increased with increasing single leaf area expansion (data not shown) and
reached the maximum in mid-June (DOY of about 170) in both 2003 and
2004. LAI remained constant by early October, and then decreased with leaf
senescence and fall. Both increasing and decreasing rate of LAI were
slightly different between the two years. These differences might be caused
by the yearly variation of meteorological conditions including precipitation
and air temperature. Further measurements for several years are necessary
to analyze this fluctuation, and this would be one of the important ecological
determinants of the seasonality of ecosystem carbon gain and its yearly
variation (Yamamoto et al., 1999; Saigusa et al., 2002).

With these seasonal changes in LAI, light penetration into forest un-
derstory, which was expressed as diffuse light transmittance ( ¼ 1–FPAR
(fraction of PAR absorbed by canopy)) estimated from the hemispherical
canopy photographs, decreased during the period of leaf area expansion
from May to June, remained constant until early October, and increased
with leaf fall in autumn (Fig. 1b). The maximum diffuse light transmittance
of about 0.5–0.6 was observed at the beginning and at the end of growing
season, and the minimum of about 0.11–0.15 was observed in summer. The
seasonal change of understory light environment affects considerably the
photosynthetic rate of evergreen dwarf bamboo and deciduous shrub trees,
whose leaf expansions begin earlier than the canopy trees (H. Muraoka,
unpublished observation).
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3.1.2 Leaf Physiological Characteristics

Photosynthetic rate at light saturation (Amax), dark respiration (R), and
index of chlorophyll concentration (SPAD) showed remarkable seasonal
changes in the two deciduous broadleaved tree species of Betula and Quercus
(Fig. 2). Although the apparent patterns of leaf physiological characteristics
were similar between the sunlit (canopy top) and shaded (inner canopy)
leaves of Quercus, Amax and R were higher in sunlit leaves throughout
the growing seasons, indicating that this deciduous broadleaf tree changes
the photosynthetic characteristics along the gradient of local light envi-
ronment in its canopy (see also Niinemets and Tenhunen, 1997; Niinemets
and Valladares, 2004).
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Figure 1: Seasonal changes of leaf area index (LAI) (a) and diffuse light
transmittance to understory (b) for 2 years (2003, open circle; 2004, solid
circle) in a cool-temperate deciduous broadleaved forest. Mean7SD for 14
locations within a 1-ha study plot are shown.
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At the beginning of the growing season, Amax and SPAD were the lowest
and R was the highest. Then Amax and SPAD increased rapidly until their
maximum in early summer and remained high values during the summer,
and decreased in autumn. On the other hand, R decreased rapidly until the
leaf area maturation at DOY of 170, and remained relatively constant until
the leaf senescence. The increase of Amax and SPAD at the first phase of the
phenology indicates the physiological growth of leaf biochemistry (Grassi
and Magnani, 2005; Grassi et al., 2005), while the high R in this phase
indicates the construction costs for leaf anatomy and expansion of leaf area
(Miyazawa and Terashima, 2001).

The initiation of decline was different between Amax and SPAD, sug-
gesting the different senescence schedule or responses to autumn climate
between the components responsible for photochemistry and carbon fixation
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Figure 2: Seasonal changes of single leaf photosynthetic characteristics in
Betula ermanii (left column), sunlit leaves (center column), and shaded
leaves (right column) of Quercus crispula for 2 years (2003, open circle;
2004, solid circle). Light-saturated photosynthetic rate (Amax; a–c), dark
respiration rate (R; d–f), and index of chlorophyll concentration (SPAD; g–i)
for three to seven sample leaves (mean7SD) are shown.

Leaf and Shoot Ecophysiological Properties 427



involved in the photosynthetic reaction. Our previous analyses for Vcmax and
Jmax using the data obtained throughout the growing season showed that
the ratio of Jmax to Vcmax changes seasonally; the ratio was higher at the
beginning and the end of the season (Muraoka and Koizumi, 2005). Such
tendency has also been reported in some studies (Hikosaka et al., 1999;
Wilson et al., 2000, 2001; Xu and Baldocchi, 2003; Onoda et al., 2005), and it
can be argued that the seasonal change of Jmax/Vcmax reflect the shift of
nitrogen allocation within a leaf so as to have an efficient photosynthetic
resource utilization under changing temperature conditions.

The 2-year measurements of these leaf physiological characteristics re-
vealed the existence of year-to-year variation as was also observed in LAI.
The most remarkable difference was found for Amax of Betula and sun leaves
of Quercus in mid-summer (Fig. 2). In 2003, Amax of Betula and Quercus
reached the maximum in late summer (late August to early September),
while Amax of Betula reached the maximum in early summer (mid-June), but
Amax of Quercus in mid-summer (mid-August). This seasonality in Amax and
its yearly variation would no doubt affect the photosynthetic productivity of
the forest ecosystem.

These differences in leaf physiological phenology would involve two
different reasons: the leaf ontogenetic characteristics of the two tree species
and the yearly variation of climate conditions. Betula is recognized to be a
pioneer species characterized by its high photosynthetic activity under high
light conditions (Koike, 1988). The rapid leaf morphological and physiolog-
ical development of this species would highly contribute to the high growth
rate. On the other hand, Quercus is recognized to be a mid-late successional
species, which has tough leaves (Koike, 1988). The rates of leaf anatomical
and physiological developments have been suggested to be related to the leaf
thickness or leaf mass area ratio (LMA); the thicker or tougher the leaves,
the slower the rate of physiological development (fulfilment of biochemical
components) as compared to the anatomical development (Miyazawa et al.,
1998). This perspective is thought to be adaptive in ecological sense since
mid-late successional species have to grow in a resource-limited environ-
ment of forest understory during the juvenile stages. Therefore, the
cost–benefit relationships, which are determined by costs for leaf construc-
tion and herbivory and benefit by photosynthesis for these species, should be
more severe than the species in resource-rich environment (Mooney and
Gulmon, 1982; Miyazawa et al., 1998).

The yearly difference of the developmental rate of Amax in both Betula
and Quercus might reflect the difference of climate conditions in early to mid
summer. In 2003, the rainy season was irregularly prolonged as compared to
the other years, while the climate condition in 2004 was relatively regular.
Since leaf physiological development and photosynthetic capacity (Amax) are
constrained by light incidence (Niinemets et al., 2004), the shortage of light
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incidence by the long rainy season might have inhibited the growth of leaf
biochemistry in 2003. If this is true, it gives us insight into the relationship
between morphological (leaf area) and physiological (photosynthesis) deve-
lopments and climate conditions, since such information would be important
in modeling ecosystem function such as canopy photosynthesis.

The different phenology in leaf area and physiological development of
trees composing the forest further lead to the different developmental rate of
canopy LAI and photosynthetic capacity; the earlier development of LAI as
compared to leaf photosynthetic capacity, and rapid decrease in respiration
rate during leaf area development (Figs. 1 and 2). These results (Figs. 1 and
2) and other reports (Wilson et al., 2001; Morecroft et al., 2003; Xu and
Baldocchi, 2003) strongly indicate that the photosynthetic productivity of
the deciduous forest canopy should be evaluated by considering the different
patterns of these plant characteristics; if one assumes that in the ecosystem-
scale model the photosynthetic capacity (Amax or Vcmax) is constant through-
out the growing season while LAI changes seasonally, the estimated
photosynthetic productivity must be overestimated considerably (Ito et al.,
2006).

3.2 Branch Architecture and Photosynthetic Carbon Gain at
the Canopy Top

3.2.1 Diurnal Patterns of Plant Ecophysiological Performance

Three-dimensional shoot architectures of Betula and Quercus (for sun and
shade branches) were measured and reconstructed with a structural–func-
tional model, Y-plant (Fig. 3). Leaf angle of the shoots were different among
the tree species or growth light environment, i.e., 65.0712.21 for Betula
(mean7SD for 40 leaves from three shoots), 31.5712.11 for sunlit
(56 leaves), and 24.5712.81 for shaded (62 leaves) shoots of Quercus. Re-
flecting the differences in leaf angle and length of petiole, self-shading in
Betula shoots was smaller than those of Quercus shoots, and projected leaf
area to the light source (the sun) in midday hours is reduced in Betula,
which would be effective in avoiding high light stresses and realizing mod-
erate light interception . The leaf display was different between the sunlit
and shaded shoots of Quercus, suggesting that the species changes its shoot
architecture by responding to the local light environment within its canopy,
as well as leaf photosynthetic characteristics. Leaf arrangement was flatter
and self-shading was smaller in shaded shoots (Fig. 3). These characteristics
in shaded shoots are effective in receiving light incidence in the light-limited
environment of inner canopy and understory positions (Niinemets, 1998).

Figs. 4 and 5 show the diurnal patterns of the relationships bet-
ween temperature regimes, stomatal conductance (gsw), photoinhibition,
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photosynthetic rate (A), and light utilization efficiency (LUE ¼ A/absorbed
PPFD) for Betula and Quercus in a high light environment based on sim-
ulation results by Y-plant. Owing to the steep leaf angles and resulting
small projection of leaf area to the sun in Betula, light absorption on the
leaf area basis was largely reduced as compared to that for horizontal plane

Betula ermanii

Quercus crispula (canopy top)

0700h 1200h

Quercus crispula (inner canopy)

0700h 1200h

0700h
1200h

Figure 3: Architectures of a shoot of Betula, sunlit and shaded shoots of
Quercus reconstructed by a simulation program Y-plant. The structures
were reconstructed on the basis of the measured geometrical parameters
(see text). Images indicate the views from sun angle in early morning
(0700 hr) and noon (1200 hr). The darker areas of the shoots indicate self-
shading.
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Figure 4: Example diurnal course of simulated light interception (a) sto-
matal conductance to water vapor (b) photosynthetic rate as a function of
light incidence and temperature (c) photosynthetic rate with and without
photoinhibition (d) and light utilization efficiency (LUE) and (e) of a shoot of
Betula. Light interception, stomatal conductance, and photosynthetic rate
are expressed on the basis of leaf area averaged over the sample shoot.
Photosynthetic rate shown in (c) were calculated by solely light dependence
(gray line) or by considering the temperature dependence of photosynthetic
reaction and stomatal conductance to vapor pressure under two air tem-
perature conditions (Tair; minimum–maximum of 15–20 1C, dotted line; and
15–28 1C, bold line). LUE shown in (e) were calculated from the data on (a)
and (c).
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Figure 5: Example diurnal course of simulated light interception (a), sto-
matal conductance to water vapor (b), photosynthetic rate solely light de-
pendent (gray line) and or by considering the temperature dependence of
photosynthetic reaction and stomatal conductance to vapor pressure under
two air temperature conditions (Tair; minimum–maximum of 15–20 1C, dot-
ted line; and 15–28 1C, bold line) (c), photosynthetic rate with and without
photoinhibition (d) and light utilization efficiency (e) of a sunlit shoot of
Quercus.
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(Fig. 4a). Different daily maximum air temperature (20 and 28 1C) led
different maximum leaf temperature of about 20.5 and 28.5 1C, respectively.
Consequently, gsw and A, and hence LUE was reduced by this rising leaf
temperature: A was the highest in a case that was estimated solely from
light absorption, and was reduced by incorporating the temperature and
stomatal effects on photosynthetic rate (Figs. 4c, e; daily values will be
shown below). The reduced gsw and A at midday hours are called ‘‘midday
depression’’, and would have considerable limitation to the daily photosyn-
thetic carbon gain in high light environments. Daily accumulation of light
absorption (PPFD dose) led to decline in Fv/Fm at midday hours with min-
imum of 0.64 and hence reduction of photosynthetic carbon gain in after-
noon hours (Fig. 4d).

In the sun shoot of Quercus (Fig. 5), the maximum leaf temperatures
were higher than Betula, about 23.5 1C at air temperature of 20 1C, and
30.5 1C at 28 1C. These higher leaf temperatures of Quercus than Betula
were induced by the smaller leaf angles and resulting large projection leaf
area to the sun in midday hours that receive larger amount of light in
midday hours (Fig. 5). The high leaf temperature led to considerable re-
duction of gsw and hence A and LUE in Quercus (Figs. 5b, c, e). Also in
Quercus, exposure of the leaves to direct sun light led to reduction of Fv/Fm
to the minimum of 0.60 in afternoon and that photoinhibition reduced A
(Fig. 5d).

3.2.2 Effects of Shoot Architecture and Stomatal Closure on Daily
Photosynthesis

Daily integrated values of light absorption, photosynthesis, and photo-
synthetic limitation by stomatal closure and photoinhibition are shown in
Fig. 6. To clarify the effects of shoot architecture (leaf angle and self-shad-
ing) on the plant performance, simulation results for virtual plants with
horizontal and non-self-shaded leaves are also shown. In horizontal leaves
with no self-shading, they can receive 58.0 mol photons m�2 day�1 of PAR
(expressed as daily PPFD: PPFDday) under a clear open sky of a sunny day.
But this PPFDday was reduced to 28.973.5 mol m�2 day�1 in Betula or
35.473.1 in Quercus shoots. These reductions were due to the variation of
leaf angle within the shoots and self-shading among the leaves.

The high PPFDday in horizontal leaves led to high daily photosynthesis
(Aday) than those for shoot-level performance in all cases of calculation of
photosynthesis, i.e., solely light dependent, including stomatal effects and
photoinhibition in both Betula and Quercus (Figs. 6a, b, c). Owing to the
interception of full sunlight throughout the day, horizontal leaves had
higher leaf temperature by 2 1C and lower Fv/Fm (ca. 0.4) than the leaves
along the actual shoot architecture (Fv/Fm of ca. 0.6–0.65): these high light
stresses led to larger stomatal and temperature limitation ( ¼ reduction of
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Aday as compared to light-dependent Aday; Fig. 6d) and/or photoinhibitory
limitation ( ¼ reduction of Aday as compared to stomatal and temperature-
limited photosynthesis; Fig. 6e) of photosynthesis. In horizontal leaves of
Betula, stomatal and temperature limitation of Aday was 9.7 and 20.0% for
air temperature regimes of 15–20 and 15–281C, respectively, while those for
actual shoots were 9.9 and 14.7%. In Quercus, stomatal limitation of hor-
izontal leaves were 13.9 and 32.8% for the two air temperature regimes,
while those for actual shoots were 11.7 and 24.4%, respectively. These re-
sults indicate important aspects in canopy photosynthesis that (1) stomatal
limitation has quantitatively remarkable effect on daily photosynthetic car-
bon gain for plants in high light and high air temperature (and VPD) en-
vironments, and (2) leaf angles and foliage geometry affect estimation of
canopy photosynthesis considerably.

LUE was dependent on the shoot architecture (leaf orientation) and tree
species (Fig. 6f, g). LUE was higher in leaves having their natural orien-
tation along the shoot than in horizontal leaves, and higher in Betula than in
Quercus. These results were caused by the balance between light intercep-
tion and photosynthesis, which were affected by leaf angle and photosyn-
thetic activity under high light. Thus use of LUE term in ecosystem-scale
models (e.g., Running et al., 2004) requires the ecophysiological understand-
ing of these consequences for accurate and reliable estimates.

The larger midday depression of gsw and A in Quercus than Betula can
be attributed to the smaller leaf angles and lower g0. As shown in Figs. 4a
and 5a, the difference in leaf angles and hence shoot architecture, i.e., pro-
jected leaf area to the sun (Fig. 3), led to different light absorption with
higher maximum PPFD in Quercus. This led to higher leaf temperature and
transpirational load. Stomatas are suggested to close by responding to the
transpirational load (Mott and Parkhurst 1991), and therefore the higher
leaf temperature could induce stomatal closure more remarkably in Quercus

Figure 6: Daily integrated performance of Betula and Quercus shoots un-
der high light conditions with two air temperature regimes (minimum–max-
imum of 15–20 1C, light gray bar; and 15–28 1C, solid bar). Daily
photosynthesis (Aday) solely light dependent (a), temperature and stomatal
dependent (b), and including the effect of photoinhibition on photosynthesis
(c), stomatal limitation (d), and photoinhibitory limitation (e) to photosyn-
thesis, and daily light utilization efficiency in which Aday was temperature
and stomatal dependent (f) and photoinhibitory limited (g). For each tree
species, ‘‘horizontal’’ indicates the calculated data for a model shoot with
horizontal leaves with no self-shading and ‘‘shoot’’ indicates the data for the
measured architectures (mean7SD of three shoots � four azimuth angles).
Note that Aday solely light dependent (a) are not different between the tem-
perature regimes.

Leaf and Shoot Ecophysiological Properties 435



(Fig. 4b vs. 5b). Moreover, midday gsw is highly dependent on g0 (equation
(1)). Quercus leaves have lower g0 of 0.096 mol m�2 s�1 as compared to that of
Betula (0.243 mol m�2 s�1). The lower g0 would contribute to the conserva-
tive use of water but highly limits CO2 transfer into leaves via stomatal
pore. On the other hand, the higher g0 and gsw in Betula would be effective
in CO2 transfer as well as transpirational leaf cooling, which should be
important in this pioneer species.

3.2.3 Effects of Shoot Architecture and Photoinhibition on Daily
Photosynthesis

The smaller leaf angle also led to larger photoinhibitory limitation on photo-
synthesis (Fig. 6e). Photoinhibition due to accumulated light interception
reduced Aday by 9–10% in horizontal leaves in both tree species, while it was
6% in Betula shoots and 10% in Quercus shoots. Reduction of photosynthesis
by rising leaf temperature, stomatal closure, and photoinhibition decreased
daily LUE from 0.19 to 0.15 in Betula and from 0.14 to 0.10 in Quercus
shoots, as compared to the case of solely light-dependent photosynthesis
(Fig. 6(g). Our estimates of the impact of photoinhibition on daily shoot
carbon gain agree with previous studies that showed 2–10% reduction in
broadleaved tree species (Ögren and Sjöström, 1990; Werner et al., 2001;
Pearcy et al., 2005; Valladares et al., 2005). The different photoinhibitory
limitation on Aday between horizontal leaves and actual shoot leaves can be
attributed to two reasons: effect of leaf angle itself and self-shading. Steeper
leaf angle contributes to reducing light interception, especially excessive
high light of midday that is not necessary for saturating photosynthetic rate.
Self-shading can also avoid excess high light and heat load in midday hours
and the photosynthesis at shaded part of the leaves might contribute to the
whole shoot carbon gain even under high light stresses (Valladares and
Pearcy, 1999; Valladares et al. 2005).

In both Betula and Quercus, the difference of temperature conditions did
not affect the influence of photoinhibition on photosynthesis, since the
present model estimates photoinhibition only from the light absorption. In
general, the magnitude of photoinhibition can be influenced by the capacity
and activity of photosynthetic and other physiological dissipation of ab-
sorbed photons (Osmond, 1994); the lower the photosynthetic activity in
midday hours, the larger the photoinhibition since photosynthesis has the
largest capacity of energy dissipation, but midday depression of gsw reduces
the photosynthetic utilization of absorbed photons (e.g., Osmond and Grace,
1995; Muraoka et al., 2000). Further quantitative evaluation of these effects
on canopy photosynthesis should be progressed.

These simulation studies on two canopy tree species with different
leaf physiology and shoot architecture provided the species-specific differ-
ences in consequences of plant ecophysiology and microenvironment on
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photosynthetic carbon gain. Although these two species can be grouped into
one category of vegetation as ‘‘broadleaved deciduous trees’’ in satellite re-
mote sensing observations and regional to global-scale models, we should
keep in mind that trees with different successional status would perform
differently in terms of photosynthetic response to multiple environment at
the canopy top, and that the relative dominance of trees with different suc-
cessional status in a given forest type would have considerable effect on the
ecosystem behavior.

3.3 Light Environment and Branch
Photosynthesis at Inner Canopy

Light environment for the shade shoots of Quercus on a sunny day is char-
acterized by the temporal fluctuation of diffuse light with low PPFD and sun
fleck with high PPFD (Fig. 7a). Light interception in the leaves along the
shoot was reduced (6.471.9 mol photons m�2 day�1; mean7SD for three
shoots � 12 light environments) as compared to that at horizontal plane
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Figure 7: Example diurnal course of light interception (a), leaf tempera-
ture (b), photosynthetic rate (c), and stomatal conductance to water vapor
(d) in a shaded shoot of Quercus.
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(9.372.8 mol m�2 day�1), due to various leaf angles and self-shading (but
smaller than the sun shoots). According to the diurnal changes in light
interception, leaf temperature changed in fluctuated manner with maxi-
mum of about 23 and 31 1C for the two air temperature regimes; the maxi-
mum leaf temperature was observed when the leaves were receiving sun
flecks (Fig. 7b). The gsw and A tracked the fluctuated changes of light in-
terception, but higher temperature condition reduced both gsw and A espe-
cially during midday hours, when the light incidence and leaf temperature
were maximum throughout the daytime (Figs. 7c, d).

Aday of the horizontal and not self-shaded leaves was 119.1720.0 and
115.3719.1 mmol m�2 day�1 under the two temperature regimes of 15–20 1C
and 15–28 1C, respectively. At shoot level, Aday was 90.9716.5 and
88.7715.3 mmol m�2 day�1, respectively. Increasing temperature led only
to 2.4% reduction in Aday, while transpirational water loss increased by
about 20% (data not shown). Calculation of photosynthetic rate solely de-
pendent on light interception (equation (2)) underestimated A at diffuse
light incidence (Fig. 7c), and this difference accounted for 7 to 50% under-
estimation of Aday in a case of 15–20 1C regime (data not shown). This might
be partly due to the temperature effects on respiration and photosynthetic
processes calculations during the diffuse light with lower temperature than
under sun flecks.

4 Conclusion

This chapter demonstrated the seasonality of canopy LAI and single leaf
photosynthetic and respiratory capacity in dominant canopy tree species,
and the consequences of branch architecture, light environment at canopy
top and inner canopy, and photosynthesis in a cool-temperate deciduous
broadleaved forest in Japan. The former perspectives determine the poten-
tial of forest photosynthetic productivity, and the latter are responsible
for the instantaneous and daily photosynthetic productivity. The recent re-
quirements for the mechanistic and quantitative understanding of the
carbon budget in forest ecosystems are of great importance in our under-
standing of ecosystem function from a regional to global scale. The present
study, though it is relatively in fine scale within the ecosystem, would sug-
gest the necessity of investment of our research resources and challenge of
scaling from leaf and canopy ecophysiology to ecosystem behavior (see also
Ehleringer and Field 1993; van Gardingen et al., 1997; Running et al., 2004;
Ustin et al., 2004).

The ecosystem carbon cycle studies tend to focus on the budget of photo-
synthetic carbon fixation and respiratory release of CO2, but as the re-
cent reports suggest the mechanisms of the carbon cycle and budget, i.e.,
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interaction of meteorological environments and plant ecophysiology, prom-
ise to provide fundamental information for the analyses and prediction of
past and future ecosystem function and its relationship with the regional
and global climate. Intensive and integrated research on the consequences
of plant ecological and physiological perspectives, and scaling analyses have
the central role in telling us what we should know on the ecosystem function
and dynamics.

Acknowledgements

We thank Professor R. W. Pearcy of UC Davis (USA) for his kind support
for our use of Y-plant. Thanks are also due to Dr. S. Yamamoto, Dr. N.
Saigusa, and Dr. S. Murayama of National Institute of Advanced Industrial
Science and Technology and Dr. K. Nishida of University of Tsukuba for
their encouragements and discussions.

References

Baldocchi, D. D., 1994. An analytical solution for coupled leaf photosynthesis
and stomatal conductance models. Tree Physiology 14, 1069–1079.

Baldocchi, D. D., Meyers, T., 1998. On using eco-physiological, micro-
meteorological and biogeochemical theory to evaluate carbon dioxide,
water vapor and trace gas fluxes over vegetation: A perspective. Agricul-
tural and Forest Meteorology 90, 1–25.

Ball, J. T., Woodrow, I. E., Berry, J. A., 1987. A model predicting stomatal
conductance and its contribution to the control of photosynthesis under
different environmental conditions. Progress in Photosynthesis Research
4, 221–224.

Bazzaz, F. A., 1996. Plants in Changing Environments. Cambridge Univer-
sity Press, Cambridge.

Beyschlag, W., Ryel, R., 1999. Canopy photosynthesis modeling. In: Pugnaire,
F. I., Valladares, F. (Eds.), Handbook of Functional Plant Ecology. Marcel
Dekker Inc., New York, Basel, pp. 771–804.

Caldwell, M. M., Meister, H. P., Tenhunen, J. D., Lange, O. L., 1986. Canopy
structure, light microclimate and leaf gas exchange of Quercus coccifera
L. in a Portuguese macchia: Measurements in different canopy layer and
simulations with a canopy model. Trees 1, 25–41.

Chapin, F. S.III., Matson, P. A., Mooney, H. A., 2002. Principles of Terrestrial
Ecosystem Ecology. Springer-Verlag, New York.

Ehleringer, J. R., Field, C. B., 1993. Scaling Physiological Processes: Leaf to
Globe. Academic Press, London.

Farquhar, G. D., von Caemmerer, S., Berry, J. A., 1980. A biochemical model
of photosynthetic CO2 assimilation in leaves of C3 species. Planta 149,
78–90.

Leaf and Shoot Ecophysiological Properties 439



Field, C. B., Randerson, J. T., Malmstrom, C. M., 1995. Global net primary
production: Combining ecology and remote sensing. Remote Sensing of
Environment 51, 74–88.

Grassi, G., Magnani, F., 2005. Stomatal, mesophyll conductance and bio-
chemical limitations to photosynthesis as affected by drought and
leaf ontogeny in ash and oak trees. Plant, Cell and Environment 28,
824–849.

Grassi, G., Vicinelli, E., Ponti, F., Cantoni, L., Magnani, F., 2005. Seasonal
and interannual variability of photosynthetic capacity in relation to leaf
nitrogen in a deciduous forest plantation in northern Italy. Tree Physi-
ology 25, 349–360.

Harley, P. C., Baldocchi, D. D., 1995. Scaling carbon dioxide and water va-
pour exchange from leaf to canopy on a deciduous forest: I. Leaf model
parameterization. Plant, Cell and Environment 18, 1146–1156.

Hikosaka, K., Murakami, A., Hirose, T., 1999. Balancing carboxylation and
regeneration of ribulose–1,5–bisphosphate in leaf photosynthesis: Tem-
perature acclimation of an evergreen tree, Quercus myesinaefolia. Plant,
Cell and Environment 22, 841–849.

Intergovernmental Panel on Climate Change (IPCC), 2001. Climate Change
2001: Impacts, Adaptation, and Vulnerability. McCarthy, J. J., Canziani,
O. F., Leary, N. A., Dokken, D. J., White, K. S. (Eds.), Cambridge Uni-
versity Press, Cambridge.

Ito, A., Muraoka, H., Koizumi, H., Saigusa, N., Murayama, S., Yamamoto, S.,
2006. Seasonal variation in leaf properties and ecosystem carbon budget
in a cool-temperate deciduous broadleaved forest: Simulation analysis at
Takayama site. Japan. Ecological Research 21, 137–149.

Kitao, K., Lei, T. T., Koike, T., Tobita, H., Maruyama, Y., 2000. Susceptibility
to photoinhibition of three deciduous broadleaf tree species with different
successional traits raised under various light regimes. Plant, Cell and
Environment 23, 81–89.

Koike, T., 1988. Leaf structure and photosynthetic performance as related to
the forest succession of deciduous broadleaved trees. Plant Species Bio-
logy 3, 77–87.

Larcher, W., 2001. Physiological Plant Ecology. Springer-Verlag, Berlin,
Heidelberg.

Lee, M., Nakane, K., Nakatsubo, T., Koizumi, H., 2003. Seasonal changes in
the contribution of root respiration to total soil respiration in a cool-
temperate deciduous forest. Plant and Soil 255, 311–318.

Leuning, R., 1995. A critical appraisal of a combined stomatal-
photosynthesis model for C3 plants. Plant, Cell and Environment 18,
39–355.

Markwell, J., Osterman, J. C., Mitchell, J. L., 1995. Calibration of the Minolta
SPAD-502 leaf chlorophyll meter. Photosynthesis Research 46, 467–472.

Medlyn, B. E., Dreyer, E., Ellsworth, D., Forstreuter, M., Harley, P. C.,
Kirschbaum, M. U. F., Le Roux, X., Montpied, P., Strassemeyer, J.,
Walcroft, A., Wang, K., Loustau, D., 2002. Temperature response of

Hiroyuki Muraoka and Hiroshi Koizumi440



parameters of a biochemically based model of photosynthesis II: A review
of experimental data. Plant, Cell and Environment 25, 1167–1179.

Miyazawa, S., Satomi, S., Terashima, I., 1998. Slow leaf development of
evergreen broad-leaved tree species in Japanese warm temperate forests.
Annals of Botany 82, 859–869.

Miyazawa, S., Terashima, I., 2001. Slow development of leaf photosynthesis
in an evergreen broadleaved tree, Castanopsis sieboldii: Relationships
between leaf anatomical characteristics and photosynthetic rate. Plant,
Cell and Environment 24, 279–291.

Mooney, H. A., Gulmon, S. L., 1982. Constraints on leaf structure and func-
tion in response to herbivory. BioScience 32, 198–206.

Morecroft, M. D., Stokes, V. J., Morison, J. I. L., 2003. Seasonal changes in
the photosynthetic capacity of canopy oak (Quercus robur) leaves: The
impact of slow development on annual carbon uptake. International
Journal of Biometeorology 47, 221–226.

Mott, K. A., Parkhurst, D. F., 1991. Stomatal responses to humidity in air
and helox. Plant, Cell and Environment 14, 509–515.

Muraoka, H., Tang, Y., Terashima, I., Koizumi, H., Washitani, I., 2000.
Contributions of diffusional limitation, photoinhibition and photorespira-
tion to midday depression of photosynthesis in Arisaema heterophyllum in
the natural high light. Plant, Cell and Environment 23, 235–250.

Muraoka, H., Koizumi, H., Pearcy, R. W., 2003. Leaf display and photosyn-
thesis of tree seedlings in a cool-temperate deciduous broadleaf forest
understory. Oecologia 135, 500–509.

Muraoka, H., Koizumi, H., 2005. Photosynthetic and structural character-
istics of canopy and shrub trees in a cool-temperate deciduous broad-
leaved forest: implication to the ecosystem carbon gain. Agricultural and
Forest Meteorology 134, 39–59.

Murayama, S., Saigusa, N., Chan, D., Yamamoto, S., Kondo, H., Eguchi, Y.,
2003. Temporal variations of atmospheric CO2 concentration in a tem-
perate deciduous forest in central Japan. Tellus 55B, 232–243.
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Chapter 19

Seasonal Variations in CH4 Uptake
and CO2 Emission by a Japanese
Temperate Deciduous Forest Soil
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Abstract

We measured seasonal variations in soil CH4 uptake and CO2 emission for three consec-

utive years in a cool-temperate, deciduous forest in Japan. The fluxes were measured by the

static closed-chamber technique during the growing season and by the gas concentration-

gradient technique during winter under snow cover. The measured rates of CH4 uptake and

CO2 emission showed marked seasonal variations that were correlated with soil tempera-

tures rather than with volumetric soil water content. The Q10 (10–201C) value of the CH4

uptake rates was 1.7, which is higher than that of other temperate forests, and that of the

CO2 emission rates was 3.4 and 4.4 for soil temperatures at 0 and 5 cm depths, respectively.

No significant relationship was found between soil moisture and rates of CH4 uptake or CO2

emission because of the narrow range of the measured soil water content (15–31% v/v). From

June 2002 to May 2003, the estimated annual CH4 uptake and CO2 emission were 1.53 and

451 g C y–1, respectively. When compared with CH4 uptake rates of temperate deciduous

forests worldwide (n ¼ 17), CH4 uptake rates by Japanese deciduous forest soils are at the

high end of the range of reported values. This Japanese temperate forest soil is a strong CH4

sink. CH4 oxidation by methanotrophs accounted for 0.4% of the annual soil CO2 emission.

The fluxes through the snowpack composed 14% of the annual CH4 uptake and 11% of the

annual CO2 emission.
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1 Introduction

Soil, the second largest carbon pool in the world, stores 1,500 Pg C,
about three times as much carbon as is stored as terrestrial biomass
carbon (Winkler et al., 1996). Because the soil carbon balance is considered
to play a significant role in global carbon dynamics, there is worldwide
concern regarding soil CO2 emission and its effect on our environment.
Therefore, a better understanding and quantification of the soil processes
that contribute to the global carbon cycle are needed. In the natural
biospheric carbon cycle, soil respiration is the major route by which pho-
tosynthetically assimilated carbon returns to the atmosphere. Studies on
seasonal variation in soil CO2 emission are important for elucidating the
environmental factors that underlie decomposition of organic carbon stored
in the soils. However, few studies have been done in snowy regions, although
some researchers have reported that measurement of winter soil CO2 emis-
sion is indispensable (Sommerfeld et al., 1993; Mariko et al., 1994, 2000).

As one of the main greenhouse gases, CH4 accounts for 14% of global
warming, with a global warming potential (GWP) 21 times that of CO2

(IPCC, 2001). Researchers who study carbon budgets in wetlands have paid
close attention to both CH4 and CO2 fluxes. It is well documented that carbon
exchanges of both CO2 and CH4 between anaerobic soils and the atmosphere
are primarily driven by gas transport mediated by aquatic macrophytes, and
that the CH4 flux greatly influences the soil carbon balance (Brix et al., 2001;
Whiting and Chanton, 2001). Recent studies of carbon fluxes in upland eco-
systems have focused on CH4 oxidation in aerobic soils, which are a unique
sink for atmospheric CH4. The uptake of atmospheric CH4 by aerobic soils is
catalyzed by CH4-oxidizing bacteria (methanotrophs). Methanotrophs are
found in the uppermost mineral layers of soils, and their CH4 oxidation
pathway produces CO2, which is emitted to the atmosphere (Harriss et al.,
1982; Hanson and Hanson, 1996). The soils of temperate grasslands and
forests have been estimated to oxidize 0.36–1.92 mg CH4 m–2 d–1 (Smith et al.,
2000). The measured soil CO2 flux is thus composed in part of CO2 emitted
through CH4 oxidation by methanotrophs. Therefore, CH4 oxidation in soils
must, to some extent, lead to the underestimation of the carbon loss from the
respiratory processes of plant roots and the decomposition of soil organic
matter by heterotrophic microbes such as saprophytic fungi in soil. However,
there have been few quantitative studies of the contribution of CH4 oxidation
to CO2 emission from aerobic soils in terrestrial ecosystems. More detailed
studies of the soil CH4 flux are needed to precisely assess the soil carbon
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dynamics in various types of terrestrial ecosystems because available meas-
urements of the soil CH4 flux lack the temporal resolution necessary for
understanding the environmental factors that control CH4 oxidation and the
annual contribution of CO2 produced by CH4 oxidation to soil CO2 emissions.

We measured seasonal variations in soil CH4 uptake and CO2 emission
in a cool-temperate, secondary deciduous forest for three consecutive years.
Long-term fluxes were measured periodically year-round, by the static
closed-chamber technique during the growing season and by the gas con-
centration-gradient technique during winter when the soil surface was
snow-covered. We then investigated how soil temperature and water content
controlled the seasonality of CH4 and CO2 fluxes and how and why empir-
ically derived Q10 values tended to vary across seasons and soil layers. We
also studied the relationship between CH4 and CO2 fluxes, assessed the
annual contribution of CO2 produced by CH4 oxidation to soil CO2 emis-
sions, and examined the characteristics of soil CO2 emissions in the study
forest in relation to the annual amount of litterfall carbon.

2 Materials and Methods

2.1 Site Description

The study site was a cool-temperate deciduous forest located on the gently
sloping (301) terrain at the Sugadaira Montane Research Center (SMRC;
361360N 1381210E, 1,300 m a.s.l.), University of Tsukuba, Nagano Prefecture,
central Honshu, Japan (Fig. 1). The mean annual temperature and precip-
itation over the last 30 years, recorded by the SMRC meteorological station,
were 6.31C and 1210 mm, respectively. The monthly mean air temperature
during the study period (2002–2004) ranged from –101C in January to 201C
in July or August, and the annual mean air temperature was 6.5, 6.3, and
7.21C in 2002, 2003, and 2004, respectively (Fig. 2). Daily precipitation data
showed no long-term dry period during the study period. Heavy rain events
occurred in early summer in 2002 and early summer and autumn in 2004,
but none were recorded in 2003. Annual precipitation was 1438, 1236, and
1648 mm in 2002, 2003, and 2004, respectively. Thus, 2004 was a hot, rainy
year. The forest floor was covered continuously by snowpack from December
to mid-April each year (the maximum snowpack depth of 120 cm was re-
corded on 5 March, 2003).

The study forest is a 50-year-old secondary (coppice) forest dominated by
Quercus crispula with Betula platyphylla var. japonica being subdominant.
The tree density in the canopy layer is 2,000 shoots ha–1, and there is little
understory vegetation. The soil is a dark-colored, humic Andosol. The soil
profile is composed of an O horizon (o3 cm thick), an A horizon (40–50-cm
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Figure 1: Location of the study site in Nagano Prefecture, Japan.
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Figure 2: Seasonal variations in daily mean air temperature (a), daily
precipitation (b), and snow depth (c) during the study period (2002–2004).
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thick), and a B horizon (deeper than 50 cm). Physicochemical analyses were
carried out for litter and mineral soil. A 20� 20 cm area of litter was sam-
pled at three sites in November 2004, after all leaves had fallen. The litter
on the forest floor contained 0.3 kg C m–2. Three soil cores of 100 ml were
collected at the depths of 0–10, 10–20, and 20–30 cm in the A horizon in
August 2004. Bulk density decreased from 0.33 to 0.23 g cm–3 with increas-
ing soil depth. At 0–10 cm air-filled porosity was 80% and pH was 5.2. The
total carbon and nitrogen contents, respectively, of the study forest soil were
15 and 0.93% for 0–10 cm, 13 and 0.76% for 10–20 cm, and 9 and 0.56% for
20–30 cm. The concentrations of NH4

+–N and NO3
––N were 29.1 and

2.83mg N g–1dw, respectively.

2.2 Measurement of CH4 and CO2 Fluxes

Between February 2002 and November 2004, CH4 uptake and CO2 emission
fluxes were measured by the static closed-chamber method during the
growing season (late April–November) and by the gas concentration gradi-
ent method during winter when the soil surface was snow-covered (Mariko
et al., 1994). The flux measurements were made at nine points arranged in a
lattice within a 10� 10 m plot in the study forest between 10:00 and 14:00
hours (local time). The soil temperatures recorded every 30 min, showed no
clear diel cycle, and they varied within 11C at 5 cm depth. Therefore, soil
temperatures measured at the time of the flux measurements should be
close to the daily average. The measured CH4 and CO2 fluxes are thus
reasonable estimates of the daily average.

Nine closed chambers were installed within the soil to a depth of 5 cm,
one at each of the lattice points. Each closed chamber comprised two parts: a
15-cm-tall PVC cylinder (21 cm diameter) and a lid. All aboveground parts of
the vegetation inside the chamber were removed before measurement be-
gan. The cylinder was sealed by a lid in which a rubber-capped, blood-
collection-type needle had been inserted, and then air inside the closed
chamber was aspirated out through the needle into an evacuated 5-ml vial
four times, after 0.5, 5, 10, and 15 min. The concentrations of CH4 and CO2

were determined using a gas chromatograph equipped with a packed col-
umn (Porapak Q, 80/100) and a flame ionization detector for CH4 and a
thermal conductivity detector for CO2 (model GC-390B, GL Science Inc.,
Tokyo, Japan).

The gas flux was calculated with the following equation:

F ¼ ðV=AÞðDC=DtÞ (1)

where F is the gas flux (mg m–2 h–1), V the volume of air within the chamber
(m3), A the area of soil within the chamber (m2), and DC/Dt the rate of
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increase or decrease of the gas concentration in the air within the chamber.
The measured CH4 concentration decreased linearly with time, whereas the
measured CO2 concentration increased linearly (data not shown).

Flux measurements during the snowpack period were made by the gas
concentration-gradient technique. The flux through the snowpack was cal-
culated by Fick’s law:

F ¼ �aDpðDC=DzÞ; (2)

where F is the gas flux, a is a constant for unit conversion, Dp the diffusion
coefficient, and DC/Dz the gas concentration gradient between the snow
surface and depth z. Dp is controlled by the in situ air temperature and
pressure and is estimated with equation (3):

Dp ¼ D0ðSÞðT=273Þn1013=Pyl (3)

D0(S) is the diffusion coefficient in the ideal state, 0.22 for CH4 and 0.135
for CO2; n is 1.71 for CO2 and 1.82 for CH4 (Striegl et al., 1993); y is the
porosity of the snow; and l is the tortuosity factor for the snow. We used a l
value of 0.69, following Sommerfeld et al. (1993). The CH4 concentration in
the snowpack decreased with increasing distance from the snow’s surface,
whereas the CO2 concentration increased (data not shown).

2.3 Litterfall Measurements

Litterfall was collected by 16 litter traps (60 cm in diameter, 1 m in height),
which were arranged as a lattice within a 20� 20 m plot that included the
flux measurement plot. The litterfall stored inside the litter traps was col-
lected seven times between May 2003 and April 2004, oven-dried at 801C,
and weighed. We used an NC analyzer to determine the carbon content of
the litterfall (Sumigraph NC-900, Sumika Chemical Analysis Service, Ltd.,
Tokyo, Japan) to measure the input of carbon to the soil.

2.4 Soil Temperature and Water Content

At the time of each flux measurement, the volumetric soil water content
(SWC) in the uppermost A horizon was gravimetrically determined with a
TDR soil moisture sensor (Hydrosense CS620, Campbell Scientific, Inc.,
Logan, UT, USA) with two 12-cm-long probes, and soil temperatures of 0 and
5 cm depths were measured with a portable thermometer. Soil temperatures
were also monitored at the same depths at five of the nine flux-measurement
points every 30 min using thermo-recorders (model TR-71 s, T&D Co. Ltd.,
Nagano, Japan) between July 2002 and June 2004.
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2.5 Statistical Analysis

Data sets were tested for normal distribution by the Kolmogorov–Smirnov
test. Simple linear regression analyses were used to examine the relation-
ship between CH4 and CO2 fluxes and soil environmental parameters (soil
temperature and soil water content) over the 3 years. Explanatory variables
were arcsine-transformed when necessary to obtain the best fit of the sea-
sonal trend line with the data.

3 Results

3.1 Soil Temperature and Water Content

Soil temperatures at 0 and 5 cm depth, determined at the time of the flux
measurements, showed clear seasonal changes (Fig. 3). The maximum soil
temperature was reached between July and September, and the minimum
during the snowpack season; most winter soil temperatures were higher
than 01C because of the thermal insulation provided by the snowpack. The
temperature was slightly higher at the soil surface than at 5 cm depth dur-
ing the growing season, but it was slightly lower at the surface during the
snowpack season. The volumetric soil water content at the time of the flux
measurements ranged from 15 to 35% and was not apparently related to
daily precipitation.

3.2 CH4 Uptake and CO2 Emission

The measured soil CH4 uptake indicated that the soil of our study forest
oxidized atmospheric CH4 (Fig. 3). Methane uptake showed a seasonal var-
iation with maximum uptake rates of 200–300mg CH4 m–2 h–1 between July
and September and minimum rates of 20–50mg CH4 m–2 h–1 during the
snowpack season. The seasonal pattern was similar over the 3 years. The
methane uptake rate was linearly related to soil temperature at both 0 cm
(R2
¼ 0.782; Po 0.001) and 5 cm (R2

¼ 0.630; Po0.001) depth, but not to soil
water content (R2

¼ 0.222; P40.05) (Fig. 4). The apparent Q10 (10–201C)

(temperature coefficient) for CH4 uptake was 1.7 for soil temperatures at
both depths.

The CO2 emission rate increased from April (when the snowpack melted)
to August (midsummer), and then decreased (winter) (Fig. 3). The maxi-
mum CO2 emission rate was 603 mg CO2 m–2 h–1 on 30 July 2002, and
the minimum was 21 mg CO2 m–2 h–1 on 21 February 2002. During the
snowpack season, the CO2 emission rate was less than 50 mg CO2 m–2 h–1.
Seasonal variation in the CO2 emission rate could be expressed as a
simple exponential function of soil temperature at 0 cm (R2

¼ 0.794;
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Figure 3: Seasonal variations in soil temperature ((a) open circles and
broken line for 0 cm depth and closed circles and solid line for 5 cm depth),
volumetric soil water content (b), CH4 uptake rate (c), and CO2 emission
rate (d) during the study period. Each point represents the mean7SD (ver-
tical bars) of the data from the nine chambers used for flux measurements.
Soil temperature and water content were measured at these nine points at
the same time as the fluxes were measured.
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Po 0.001) and 5 cm (R2
¼ 0.880; Po 0.001) depth (Fig. 4). There was

no relationship between the CO2 emission rate and volumetric soil water
content (R2

¼ 0.123; P40.05). The Q10 values for CO2 emission were 3.4
for soil temperatures at 0 cm depth and 4.4 for soil temperatures at 5 cm
depth.

The relationship between the CH4 uptake rate and the CO2 emission
rate was linear and positive (R2

¼ 0.509; Po 0.05) for CO2 emission rates
o150 mg CO2 m–2 h–1 (Fig. 5), obtained from late autumn to early spring.
However, during the rest of the year, when the CO2 emission rate was
4150 mg CO2 m–2 h–1, there was no significant relationship between the two
rates (R2

¼ 0.005; P40.05).

3.3 Litterfall

The annual litterfall was 140 g C m–2 y–1 (Fig. 6). Litterfall peaked in
autumn (September–October); 76% of the total annual litterfall fell during
this period. A small peak occurred in May, but in winter litterfall was
extremely small.
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Figure 4: Mean CH4 uptake and CO2 emission rates in relation to soil
temperature and volumetric soil water content. CH4 uptake versus soil
temperature at 0 cm (a) and 5 cm (b) depth and soil water content (c); CO2

emission versus soil temperature at 0 cm (d) and 5 cm (e) depth and soil
water content (f).
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4 Discussion

In general, temporal variations in the rates of CH4 uptake and CO2 emission
are regulated by soil variables, for example, temperature, water content,
carbon content, NH4

+ concentration, porosity, and pH. The variables showing
the most effect are soil temperature and moisture, which influence both
microbial metabolism and gas diffusion in soils. The CH4 uptake and CO2

emission values we obtained from this temperate deciduous forest soil
varied seasonally and correlated with soil temperature rather than with
volumetric soil water content. A similar marked temperature dependence
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has been reported previously (Peterjohn et al., 1994; Dobbie and Smith,
1996; Priemé and Christensen, 1997; Saari et al., 1998).

4.1 CH4 Uptake

The temperate deciduous forest soil that we studied oxidized atmospheric
CH4 over three consecutive years. The mean annual CH4 uptake between
2002 and 2004 was estimated to be 1.53 g CH4–C m–2, based on the relation-
ship between the CH4 uptake rate and the continuously measured soil tem-
perature at 0 cm depth (best-fit equation: y ¼ 49.9+9.90x). The daily average
CH4 uptake rate measured during three consecutive years was 5.59 mg
CH4 m–2 d–1. This value is 3.5–7 times the averaged rates measured in tem-
perate forests of the United States and Germany (Castro et al., 1995), and the
mode of the frequency distribution of measurements in the world’s forests
(Smith et al., 2000). CH4 uptake rates in Japanese deciduous forest soils
typically are at the higher end of the reported range of CH4 uptake rates
(Fig. 7) in comparison with data from temperate deciduous forests worldwide
(n ¼ 17). It has been well documented that CH4 oxidation in forest soils is
negatively affected by increased availability of N; the addition of ammonium
and nitrate equivalent to more than 16.8mg NH4

+–N g–1 dw reduced CH4

oxidation in an incubated soil (Priemé and Christensen, 1997). However,
although NH4

+ concentrations of 10–30mg NH4
+–N g–1 dw have been measured

in Japanese soils (Ishizuka et al., 2000; this study), CH4 uptake rates do not
seem to have been limited by the higher N availability in Japanese forests.
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Figure 7: Frequency distribution of CH4 uptake rates in temperate decid-
uous forests of the world (in situ studies of longer than 7 months’ duration,
including summer and winter). Black, Japan; white, other countries (liter-
ature values). Data sources: Keller et al., 1983; Born et al., 1990; Crill, 1991;
Bowden et al., 1993; Dörr et al., 1993; Castro et al., 1995; Peterjohn et al.,
1994; Dobbie and Smith, 1996; Ishizuka et al., 2000; Borken et al., 2003;
Price et al., 2003; and Merino et al., 2004.
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Recent studies in other parts of the world have also reported CH4 uptake
rates close to the top of the range. For instance, Butterbach-Bahl et al. (2002)
found that CH4 uptake in a German Scots pine forest ranged from 140 to
165mg CH4 m–2 h–1. Price et al. (2003) reported extremely high CH4 uptake
rates of 81mg CH4 m–2 h–1 in winter and 192mg CH4 m–2 h–1 in summer in an
old-growth mountain beech (Northofagus solandri) forest in New Zealand.
The magnitude of CH4 uptake in Japanese forest soils is comparable to these
values. We and other Japanese researchers (Tamai et al., 2003) believe that
temperate deciduous forests in Japan are a hot spot with respect to the rate
of CH4 uptake. If hot spots of CH4 uptake are not appropriately assessed, the
strength of the global methane sink will be underestimated.

The high CH4 uptake rates in Japanese forests may be due to high
air-filled porosity. Porosity is a key factor controlling the transport of at-
mospheric CH4 into the soil. High porosity results in a large gas diffusion
coefficient (see equations (2) and (3)). In fact, hot spots of CH4 uptake are
characterized by high porosity values at soil depths of 0–10 cm in both Japan
(43–80%; Ishizuka et al., 2000; this study) and New Zealand (84–89%; Price
et al., 2003). It is also possible that populations of methanotrophs with high
oxidizing activity are present in the soils at the high-uptake sites. Further
research is needed to clarify this possibility.

Similar patterns of seasonal variation in CH4 uptake rates have been
observed in other forests (Born et al., 1990; Ishizuka et al., 2000; Price et al.,
2003; Tamai et al., 2003). A simple linear regression model showed that soil
temperatures at 0 and 5 cm depth accounted for 63% and 78%, respectively, of
the seasonal variation in CH4 uptake rates. The apparent Q10 (10–201C) of our
temperate forest was 1.7 for soil temperatures at 0 and 5 cm depths. This Q10

is high compared with that of other temperate forests (Born et al., 1990; Crill,
1991; King and Adamsen, 1992; Priemé and Christensen, 1997). The high
CH4 uptake rate may be responsible for the high Q10 value. Temperature may
affect CH4 uptake by causing changes in methanotrophic activity and CH4

diffusion into the soil (Crill, 1991; King and Adamsen, 1992). In situ and soil
core studies by Priemé and Christensen (1997) revealed that temperature
directly affects CH4 oxidation through its impact on enzymatic processes
and CH4 diffusion. Smith et al. (2000) argued that the inherently low CH4

concentrations in soil air contribute to low Q10 values, because the half-
saturation constant (Km) of the key enzyme, MMO (methane monooxy-
genase), in the CH4 oxidation pathway is 3mM, which is higher than the
atmospheric CH4 concentration of 4.5 nM (Hanson and Hanson, 1996).

Soil core studies have demonstrated that CH4 oxidation activity is great-
est in the uppermost mineral layers (Crill, 1991; Saari et al., 1998), and it is
low in the litter of the O horizon. Although the upper organic layers of the A
horizon are exposed directly to atmospheric CH4, they may be unsuitable for
the growth or activity of methanotrophs. Wang and Ineson (2003) argued
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that, in the upper organic layers, the (i) high fluctuation of temperature and
moisture or (ii) high concentration of inorganic N, resulting either from
mineralized NH4

+ or from N deposition, drives methanotrophs to the deeper
layers. Low CH4 uptake rates in deep mineral layers (B and C horizons) are
due to poor CH4 transport. In this study, the stronger temperature depend-
ence on soil temperature at 0 cm depth, the top of the A horizon, implies that
the highest oxidation potential is in the uppermost mineral soil.

Soil moisture exerts a dominant limiting effect on CH4 uptake in many
temperate forest soils. Castro et al. (1995) found that 78% of the CH4 uptake
rate in temperate forest soils could be explained by soil moisture. The rate of
CH4 diffusion is important if a strong sink for CH4 oxidation is present
within the soil, because CH4 has to diffuse down through the soil (Whalen
et al., 1991). Czepiel et al. (1995) found that the optimum soil water content
for CH4 oxidation ranged from 30 to 51% (w/w) in woodland soils. In the soil
of our study forest, the range of variation in the measured soil water content
was small (15–31%) during the year, thus masking the effect of soil moisture
on CH4 uptake.

4.2 CO2 Emission

The seasonal CO2 emission in our study forest soil strongly depended on soil
temperature. The Q10 values (3.4 and 4.4) were higher than the global me-
dian of 2.4 reported by Raich and Schlesinger (1992). However, this global
median is based on data measured by soda lime techniques, which were
previously the most commonly used techniques. Soda lime techniques may
overestimate CO2 emission rates during cold periods and underestimate
them during warm periods (Davidson et al., 1998). Consequently, soda lime
techniques would underestimate Q10 values. Modern chamber-based meas-
urements, with which accurate GC and NDIR analyzers are used, have
yielded relatively high Q10 values of 3.4–5.6 for soil temperatures at 4–8 cm
depth in temperate mixed hardwood forests (Davidson et al., 1998) and of
4.2 for soil temperatures at 2 cm depth in European beech forests (Janssens
and Pilegaard, 2003). These Q10 values are comparable to those obtained in
this study.

Soil core studies have shown that the temperature sensitivity of CO2

emission varies with increasing temperature. Q10 values tend to be high at
low temperatures and low at high temperatures (Lloyd and Taylor, 1994;
Winkler et al., 1996; Fang and Moncrieff, 2001). In our in situ measurements,
the Q10 values were 1.9 during the warm season (soil temperature at 5 cm
depth Z151C) and 5.8 during the cold season (o151C). In cool-temperate
deciduous forests in Japan, high levels of fine root production occur in spring,
and the production of new roots with high respiratory activity enhances CO2

emission from the soil in spring (Lee et al., 2003; Mo et al., 2005). Increased
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root production may thus be responsible for the high Q10 value in the cold
season, which includes spring.

Soil moisture affects both the respiratory activity of microbes and roots
and gas transport through the soil. Davidson et al. (1998) found a rapid
decrease in soil CO2 emission rates at a soil water content of less than 12%
(v/v) and a moderate decline at values larger than 12%. Xu and Qi (2001)
also reported that, at soil moisture lower than 14%, the CO2 flux rate was
reduced. Thus, CO2 emission rates are significantly inhibited by soil water
content only when it is low (dry soil) or very high (wet soil). Between these
two extremes, moisture content has no obvious effect on CO2 emission. At
our study site, no significant effect of soil moisture on CO2 emission was
found because the measured soil water content was within the narrow range
of 15–35%, which is close to the optimum for CO2 emission.

The mean annual CO2 emission over two consecutive years (July
2002–June 2003) was estimated to be 451 g CO2–C m–2, based on the rela-
tionship between the continuously monitored soil temperature at 5 cm depth
and the CO2 emission rate (best-fit equation: y ¼ 35.4 exp(0.149x)). This
value is lower than that measured in another Japanese 50-year-old decid-
uous forest (dominant species, Q. crispula and Betula ermanii) on the slope of
Mt. Norikura, where an understory of Sasa senanensis is well developed (Lee
et al., 2002: 754 and 849 g C m–2 y–1). The dominant tree species, soil, and
climate of the two forests are similar, but little understory vegetation has
developed in our study forest. Therefore, one possible explanation for the
lower CO2 emission in our forest could be a smaller amount of organic carbon
input (litterfall) from understory vegetation to the soil than in the forest on
Mt. Norikura. Comparison of litter carbon content between the two forests
supports this possibility: litter carbon in our study forest (0.3 kg C m–2) was
one-fifth that in the forest on Mt. Norikura (Jia et al., 2002).

Davidson et al. (2002) reviewed the relationships between annual above-
ground litterfall carbon (g C m–2 y–1) and annual CO2 emission (g C m–2 y–1)
in various types of mature and young forests in the Ameriflux database, and
reported that the following relationships were significant:

Rsðmature forestsÞ ¼ 287þ 2:80L (4)

Rsðyoung forestsÞ ¼ 139þ 4:16L (5)

where Rs is the annual CO2 emission (g C m–2 y–1) and L the annual above-
ground litterfall (g C m–2 y–1).

The equations for the mature and young forests are significantly differ-
ent. The slope (regression coefficient) for the young forests is steeper than
that for the mature forests (Davidson et al., 2002). The difference between
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the two forests may indicate that root respiration or decomposition of root
litter contributes more than decomposition of aboveground litter to the soil
CO2 emission in mature forests. The annual litterfall and CO2 emission data
in this study is at the lower limit of the 95% confidence interval for the
mature-forest equation, and it is outside the 95% confidence interval for the
young-forest equation. Thus, our middle-aged coppice forest is approaching
a balanced soil carbon budget with the soil carbon dynamics characteristics
of a mature forest.

4.3 CH4 Uptake vs. CO2 Emission

We found a positive linear correlation between CH4 uptake rates and CO2

emission rates for CO2 emission rates between 0 and 150 mg CO2 m–2 h–1 but
no correlation for higher CO2 emission rates. This two-phase pattern can be
understood by considering the different effects of soil temperature on CH4

uptake and CO2 emission rates. First, a linear increase in the CH4 emission
rate in combination with an exponential increase in the CO2 emission rate
with respect to temperature yields an increasing phase when CO2 emission is
low and a plateau phase when CO2 emission is high. Second, a mechanistic
explanation is also possible. The high activity of heterotrophic microbes in
summer consumes a relatively large amount of the O2 in soil air, and the
reduced O2 concentration would result in competition for O2 between CH4-
oxidizing and CO2-producing processes. A stricter O2 dependence is found for
CH4 oxidation, which requires two molecules of O2 for oxidation from CH4 to
CO2, whereas catabolism of organic matter by heterotrophic microbes and
roots uses one O2 molecule to produce one CO2 molecule. The activity of
methanotrophs might thus be restricted by the larger requirement for O2, an
effect that might be marked in wet soils, where thick water films can inhibit
the mass flow of soil air and diffusion of O2.

Methanotrophs oxidize CH4 as their sole substrate. Soil CO2 emission
derived from CH4 oxidation by methanotrophs accounted for approximately
0.4% of total soil CO2 emission in this study. As the GWP of CH4 is 21 times
that of CO2 (IPCC, 2001), CH4 oxidation by methanotrophs, by converting
CH4 to CO2, offsets 7.8% of the global warming effect of CO2 emitted from
the soil. Consequently, CH4 oxidation in soil plays an important role in
carbon dynamics and lessens the global warming.

4.4 CH4 Uptake and CO2 Emission during the Snowpack
Season

The deep layer of snow during the winter insulates the soil from very low air
temperatures. The thermally insulated soil can consume atmospheric CH4

and produce CO2. We measured CH4 uptake rates of 20–30mg CH4 m–2 h–1
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and CO2 emission rates of 10–20 mg CO2 m–2 h–1 through the snowpack.
These results are in accordance with previous results from in situ measure-
ments in temperate forest soils (Castro et al., 1995; Priemé and Christensen,
1997; Mariko et al., 2000). The winter flux accounted for 14 and 11% of the
total annual CH4 uptake and CO2 emission, respectively. Thus, winter CH4

uptake and CO2 emission are not negligible and contribute considerably to
the annual carbon fluxes. In the Northern Hemisphere, about 50% of the
land area is covered by snow in winter (Barry, 1992). Therefore, the snow-
surface flux is of crucial importance in evaluating the precise global carbon
balance in ecosystems that experience a winter snowpack.

Better correlations of CO2 emission rates with soil surface temperatures
are obtained in cold ecosystems. In subarctic peatland and tundra ecosys-
tems, both diurnal and seasonal trends in net ecosystem CO2 emissions are
correlated with changes in soil temperature close to the soil surface (Oechel
and Vourlitis, 1995; Silvola et al., 1996), where the rate of decomposition of
organic matter by microorganisms is higher than in the subsurface. At our
snowy site, when the data for the entire year are considered, the CO2 emis-
sion rate was most strongly correlated with the temperature at 5 cm depth,
in the A horizon, rather than with the surface temperature, indicating that
the subsurface temperature is a better predictor of winter CO2 emission
rates in this snowy region.
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Plate 1.2: Longitudinal distributions of pCO2
sw, pCO2

air, [NO2
�]+[NO3

�], SSS
and SST along the equator in October/December 1999 (red), January/March
2001 (blue), January/March 2002 (green) and November 2002/March 2003
(yellow). In the upper panel, the thick line shows pCO2

sw and the thin line
pCO2

air. Arrows show the boundary between the HNLC region and western
Pacific warm pool.
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Plate 2.2: (a) January mean of Oberhuber atlas surface wind field. Note
the low wind speeds near the equatorial Pacific and Indian Ocean regions.
(b) SeaWiFS annual mean 2 � 2 degree binned climatology. Note the high
chlorophyll values in the eastern equatorial Pacific.



60°N

40°N

20°N

20°S

40°S

60°S
45°E 45°E90°E 90°E135°E 135°E180°

0°

0° 0°

25.0

20.0

15.0

10.0

5.0

0.0

En at maximum monthly mixed layer depth

Longitude

W
/m

2
La

tit
ud

e

Plate 2.3: Modeled climatological values of the net solar flux at the base of
the deepest monthly mixed layer (W m–1 m–1). Values correspond to solar
fluxes entering the permanent pycnocline. Largest values exist where the
deepest monthly mixed layer and chlorophyll concentration are low and
solar flux is high. From Ohlmann et al. (1996).
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Plate 2.4: The 2� 2 degree annual mean SeaWiFS-derived diffuse attenu-
ation coefficient [m-1] field for PAR.



100

0
0 12Month

D
M

S
 y

ie
ld

pe
rc

en
t

DMS Yield Climatologies

Plate 2.5: DMS percent yield climatologies estimated using observed MLD
climatologies from the NODC XBT data set and the Simo and Pedrós-Alló
(1999) DMS yield relationship.



Plate 2.7: Contemporary annual mean dust deposition rate (Ginoux et al.,
2001).



Plate 2.10: Time series of TCO2 (unit:mmol kg–1) in central north Pacific
(351–451 N, 1701–1501 W). Top panel shows the time series of surface TCO2

concentration. The lower panel shows the vertical profile of modeled
TCO2 concentration from the surface to 250 m. The contour interval is
25 mmol kg–1.



Plate 3.1: Measuring sites for primary production using a 13C spiked in-
cubation for 24 hours in Japan and Okhotsk Seas, Oyashio-transition
waters, Kuroshio waters, Tosa Bay, and continental shelf waters in the
East China Sea overlaid on an annual mean of chlorophyll a in 2002 derived
from SeaWiFS (http://www.seawifs.gsfc.nasa.gov/cgi/level3.pl/).
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Plate 3.4: Seasonal change in vertical profile of (A) chlorophyll a concentration in mg/l, (B) biomass normalized
primary production in mgC/mgChl/day, and (C) primary production in log

10
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) of Oyashio-transition waters, Kuroshio waters, Tosa Bay, and continental shelf waters of
the East China Sea.



Plate 3.8: Maps of annual primary production (gC/m2/year) from 1998 to 2002 produced according to
Asanuma (2006).



Plate 7.1: Map of the northern Indian Ocean showing the mean annual
salinity averaged for the upper 50 m of the water column (Data: World
Ocean Atlas, 1998, http://www.cdc.noaa.gov/cdc/data.woa98.html). Black
circles show the long-term sediment trap site in the western Arabian Sea
(WAST). White circles and black squares indicate the other joint Indo/
German and the US JGOFS sediment trap sites, respectively. US JGOFS
water sampling sites are shown by the red circles.
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Plate 7.4: (a) Concentrations of silicate averaged for the upper 20 m of the
water column along the transect from the Arabian coast towards the central
and southern Arabian Sea, 1,300 km offshore during the SW monsoon of
1995 (compare Fig. 1). Nutrient data have been obtained from the US
JGOFS datacentre. The blue line shows the contribution of diatoms to the
biomass of photoautotrophic plankton during the same time (Garrison et al.,
2000). (b) Diatom biomass (blue line) and silicate concentration derived from
a box model that is described in the text. (c) Diatom growth rates (red line)
and zooplankton grazing rates (blue line) vs. silicate concentration (data are
derived from the model).
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Plate 7.5: Annual mean POC/PIC ratios vs. water depth. Black circles show
results obtained from the US JGOFS sediment trap experiment performed in
1994/1995 (Honjo et al., 1999; Lee et al., 2000), grey circles reveal data derived
from the Indo/German sediment trap program in the Arabian Sea (Fig. 1) and
those obtained from the Bay of Bengal (Unger et al., 2003) are given in red.
Vertical lines representing the mean (solid line) and the range (broken line) of
POC/PIC ratios obtained from other sediment trap studies in the carbonate-
dominated ocean (Klaas and Archer, 2002).



Plate 8.1: Schematic of Indonesian throughflow pathways (Gordon, 2001;
reprinted with permission from Elsevier). The solid arrows represent north
Pacific thermocline water; the dashed arrows are south Pacific lower therm-
ocline water. Transports in Sv (106 m3/s) are given in red. The 10.5 Sv in
italics is the sum of the flows through the Lesser Sunda passages. ME is the
Mindanao Eddy; HE is the Halmahera Eddy. Superscript refers to reference
source: 1, Makassar Strait transport in 1997 (Gordon et al., 1999); 2,
Lombok Strait (Murray and Arief, 1988; Murray et al., 1990) from January
1985 to January 1986; 3, Timor Passage (between Timor and Australia)
measured from March 1992 to April 1993 (Molcard et al., 1996); 4, Timor
Passage, between October 1987 and March 1988 (Cresswell et al., 1993); 5,
Ombai Strait (north of Timor, between Timor and Alor Island) from
December 1995 to December 1996 (Molcard et al., 2001); 6, between Java
and Australia from 1983 to 1989 XBT data (Meyers et al., 1995; Meyers,
1996); 7, Upper 470 m of the South Equatorial Current in the eastern Indian
Ocean in October 1987 (Quadfasel et al., 1996); 8, Average ITF within the
South Equatorial Current defined by five WOCE WHP sections (Gordon
et al., 1997). The hollow arrow represents overflow of dense Pacific water
across the Lifamatola Passage into the deep Banda Sea, which may amount
to about 1 Sv (van Aken et al., 1988). Inserts A–D show the positions of the
INSTANT moorings. Insert A: position of the two Makassar Strait inflow
moorings (US, red diamond) within Labani Channel. Insert C: position of
the Netherland’s mooring within the main channel of Lifamatola Passage
(yellow triangle). Insert B, D: position of the Sunda moorings in Ombai
Strait, Lombok strait, and Timor Passage (US, red diamonds; French, purple
square; Australian, green circles). The positions of the shallow pressure
gauge array (SPGA) (US, green X). The 100, 500, and 1,000 m isobaths are
shown in the inserts.



13.5
D J F M A M J J A S O N D J F M A M J J

13.0
15

10

5

-3

-2

-1

0

S
O

I (
gr

ee
n 

lin
e)

S
ou

th
w

ar
d 

V
ol

um
e 

Tr
an

sp
or

t (
S

v,
 b

lu
e 

da
sh

ed
 li

ne
)

15
0-

40
0 

db
 A

ve
ra

ge
 T

em
pe

ra
tu

re
 (

°C
, r

ed
 li

ne
)

1

12.5

12.0

11.5

11.0
97.00

Volume Tr
ansp

ort

Ave
rage Te

mp

97.25 97.50 97.75 98.00 98.25 98.50

Plate 8.2: (a) Time series (above) of the average temperature (red) between
150 and 400 db at the MAK-1 mooring (Ffield et al., 2000). The SOI (green)
and the Makassar Strait volume transport (blue dashed) are also shown.
The data are smoothed by 30-day running averages. (b) Temperature time
section constructed from 15 years of Makassar Strait and Flores Sea XBT
profiles (Ffield, 2000, personal communication). In the upper panel, the
depth of the 221C XBT isotherm (red) is shown with the SOI (black) high-
lighting the clear ENSO variability in the XBT temperature data. The data
are smoothed by a 1-year running average.
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Plate 8.4: Potential temperature as a function of time and depth along IX1
off the coast of western Australia near 251S for (a) observations and (b)
model.
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Plate 8.5: Potential temperature as a function of time and depth along IX1
off the coast of Java at the Sunda Strait for (a) observations and (b) model.
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Plate 8.6: Potential temperature as a function of time and depth along PX2
off the Java shelf break near 1161E for (a) observations and (b) model.
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Plate 8.7: Potential temperature as a function of time and depth along PX2
at the Arafura shelf break near 1331E for (a) observations and (b) model.
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low-frequency anomalies of SSH for Pacific wind index: (a, b) observations
and (c, d) model.
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Plate 8.10c, d: Continued.
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Plate 8.11a, b: As for Fig. 10, but for the Indian wind index.
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b

Plate 10.7: The distribution of Mg in different parts of the Pavona clavus
skeleton from Meibom et al. (2004). Dark blue colors correspond to relatively
low Mg concentrations; green, yellow and red colors correspond to increas-
ingly high Mg concentrations. EMZ have the highest concentration of Mg.
Arrow indicates direction of growth. Scale bars are 10mm.
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Plate 11.4: Analytical solutions for biologically generated horizontal cur-
rent (m s–1) at the depth 100 m (longitude (183–190 E) and latitude (0.5—1
N)).
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Plate 13.1: Typical reflectance spectra for agro-ecosystem surfaces (a), and
for paddy fields with different biomass (b). Abbreviations B, G, R, and NIR
mean blue, green, red, and near-infrared wavelengths, respectively. Biomass
of rice paddies decreased in order from A to F.
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Plate 13.5: Typical time course changes of ecosystem surface CO2 flux
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Plate 14.3: Estimated global distributions of (a) APAR, (b) GPP, and (c)
LUE(GPP), averaged from 1981 to 2000.
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Plate 14.4: Latitudinal distributions of absorbed PAR (APAR), productivi-
ties (GPP and NPP), and light-use efficiencies (LUE(GPP) and LUE(NPP)),
averaged from 1981 to 2000.



Plate 14.5: Seasonal change in the estimated global distributions of APAR, GPP, and LUE(GPP), averaged from
1981 to 2000: DJF (December, January, and February), MAM (March, April, and May), JJA (June, July, and
August), and SON (September, October, and November), averaged from 1981 to 2000.
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Plate 15.5: The results of NPP estimation by the multiple LUE settings.
The minimum appeared in 1983 (above), and the maximum appeared in 1998
(below). The greatest NPP appeared in tropical deciduous forest or savannas.
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Plate 16.1: Global NPP maps in 1998. (a) January, (b) February, (c) March,
(d) April, (e) May, (f) June, (g) July, (h) August, (i) September, (j) October, (k)
November, (l) December.



Plate 16.1: (Continued)



Plate 16.1: (Continued)



Plate 16.1: (Continued)



Latitude
0 -8080

jan

Dec

M
on

th

0 180 360
Jan

Dec

M
on

th

Longitude

Plate 16.2: Seasonal change of zonal and meridional mean NPP. (a) Zonal
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