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The publication in 1928 of The Evolution of 
Igneous Rocks by Norman L. Bowen laid the 
foundation to understand the formation and evo
lution of igneous rocks. Most of the magmatic 
processes that he proposed are still used Jnd dis
cussed today, and his search for the physical 
parameters to understand these processes are 
major themes of current research. At that time, 
radioactivity had been known for 30 ·years, but 
there were as yet no applications to dating of 
magmatic rocks. Thus any quantification of the 
timescales of the processes that he proposed was 
not possible. Determining accurate isotope ratios 
of natural rocks for the purposes of dating and 
understanding their formation would come dec
ades later (Paterson, ·1956). An example of how 
critical the quantification of timescales is, and 
how radiometric dating revolutionized our under
standing of the world around us, is the determi
nation of the age of the Earth. Early scientific 
estimates varied widely (Dalrymple, 1994), but 
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by measuring the trace abundance of isotopes 
produced by radioactive decay of uranium and 
thorium, it was possible to demonstrate that the 
Earth is actually 4.55 billion years old. 

Great progress in understanding magmatic proc
esses has been made by a combination of field
work, geochemical analysis, experiments and 
numerical models (Young, 2003). On the one hand, 
there has been an avalanche of geochemical data 
(e.g. databases PETDB, GEOROC and NAVDAT) 
that have allowed the relationship between plate 
tectonics and magma genesis and allowed the for
mation and differentiation of the different reser
voirs of the Earth to be explored (Wilson, 1989). 
The detailed petrological and geochemical studies 
of individual rocks and crystals have shown that 
magmas can carry a mixture of components from 
various sources and with various ages (Davidson 
et al., 2007). On the other hand, experiments, the
ory and numerical models have brought a robust 
understanding of the conditions and intensive 
variables under which magmas can be generated, 
differentiated, and may erupt (Carmichael & 
Eusgter, 198 7; MELTS algorithm of Ghiorso & Sack, 
1995). Numerical models built upon robust physi
cal properties of multicomponent silicate melts 
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(viscosity, density and diffusivitiesi Stebbins et al., 
1995) can be used to investigate the dynamics of 
magmatic processes (Nicholls & Russell, 1990i 
Spera & Bohrson, 2001). 

Early dating of rock and mineral suites by 
various radioactive decay systems (e.g. 14C, 
Rb-Sr, K-Ar, Sm-Nd, U-Pb) provided a calibrated 
sequence of magmatic and volcanic events 
(eruption or emplacement of plutonic bodies) 
that could be used for the first time to estimate 
rates of magma production and evolution. 
However, the errors resulting from the large 
amount of sample required and the precisions of 
the measurements did not allow distinction 
between eruption and crystallization ages, or 
for dating a series of eruptions from the same 
vent, which may record the magmatic differen
tiation (Faure, 1986). 

A turning point in understanding the dynam
ics of magmatic processes has occurred in the 
last 10 to 20 years, with technological advances 
in mass spectrometry and the accurate analysis 
of short-lived radioactive isotopes of the U and 
Th decay series (Bourdon et al., 2003 ), as well 
as the possibility of in-situ dating of extremely 
small amounts of minerals (diameter .Jif several 
tens of fliD (Hanchar & Hoskin, 2003) ). Further
more, a large amount of data on the kinetics of 
element migration in minerals together with 
natural observations has led to th·e realization 
that the chemical heterogeneities iu crystals can 
also be used to extract time information on mag
matic processes. Thus, it is now possible to study 
magmatic processes over time scales ranging from 
a few minutes to millions of years. This allows 
us to tackle critical questions about the evolu
tion of Earth systems: How long is a magma 
stored in a reservoir prior to eruption? How long 
does it take to evolve from mafic to felsic magma 
compositions? How long does it take for a magma 
generated in the mantle to reach the surface? 
How long after the Earth was created did a metal
lic core form? 

In this book we bring together syntheses of 
work aimed at tackling these questions. 
Although the age of the Earth is now well known, 
until recently little was known about how the 

seemingly homogeneous proto-Earth differenti
ated into different envelopes (core, mantle, 
crust). In the first chapter, Caro and Kleine show 
how extinct radionuclides can be used to dem
onstrate that differentiation of the Earth's core 
and the initiation of plate tectonics all occurred 
very early in the Earth's history. The differentia
tion of the Earth into various reservoirs is still a 
work in progress. Material is continuously trans
ferred from the mantle towards the surface and 
surface material is recycled back into the mantle 
at subduction zones. To understand the mecha
nisms that allow melting of mantle rocks and 
the transfer of produced magmas to the surface, 
it is necessary to quantify the timescales of pro
duction and transport of magmas below mid
ocean ridges and at hotspots. Two complementary 
approaches can be used to constrain the times
cales of magma production in the mantle: 
uranium-series disequilibrium and the diffusion 
of trace elements in minerals. 

Uranium and thorium-series isotopes compose 
the decay chains that start with 238U, 235U and 
232Th, and end with stable isotopes 206Pb, 207Pb and 
208Pb, respectively (Figure 0.1). These decay chains 
are composed of radioactive systems where a par
ent nuclide decays into the daughter by alpha or 
beta emission. For instance, 2' 0Th decays into 
226Ra by alpha emission. For systems closed for 
more than 1 Myr, all radioactive systems in the 
decay chains are in secular equilibrium: the 
activities (i.e. rates of decay) of parent and daugh
ter nuclides are equal. For instance, (230Th) = 

(226Ra), or (226Raf230Th) = 1 (where parentheses 
denote activities). This is the case for mantle 
rocks prior to melting. During geological proc
esses, such as partial melting or fractional crys
tallization, the different radionuclides behave 
differently inducing radioactive disequilibrium. 
Thus, because 226Ra is usually more incompatible 
than 230Th (i.e. it partitions preferentially into 
the magma relative to the residue during partial 
melting), magmas are often characterized by 
(
226Ra/230Th) > 1. Once radioactive disequilibrium 
is produced, the system returns to secular equi
librium by radioactive decay over a times
cale that is about five times the half-life of the 
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Fig. 0.1 233U and 235U decay chains. See Plate 0.1 for a colour version of this image. 

shorter-lived daughter nuclide. For example, if a 
magma with (226Ra/1210Th) > 1 behaves as a closed 
system once the disequilibrium is acquired, secu
lar equilibrium will be attained after ~8,000 years 
(
226Ra half-life is 1,602 years (Bourdon et al. 20031) 
(Figure 0.2). Thus, because U-series isotopes frac
tionate during magmatic processes and their 

ratios are time-dependent, they provide a critical 
tool for constraining the timescales of magmatic 
processes. 

In Chapter 3, Bourdon and Elliott show that 
the study of the U-series isotope composition of 
basaltic rocks can be used to constrain the con
ditions and timescales of mantle melting. It is 
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shown that the porosity of the matrix under
going melting needs to be as low as a few per 
mil, in order to account for observed1U-series 
isotope Moreover, the rate o.f 
melting beneath oceanic islands (e.g. Hawaii, 
Reunion) is inferred to be related to the upwelling 
rate of the hotspot (i.e. mantle instability). They 
show that h1elt production is grea,.ter at large 
hotspots, and that beneath oceanic 
islands occurs faster than beneath mid-ocean 

During P:trtial melting of mantle 
trace elements partition between minerals and 
the newly formed magma and it is 
assumed that a partitioning equilibrium is 
reached between minerals and magma, as trace 
elements are believed to diffuse rapidly into the 
magma. Nevertheless, in Chapter 2, Van Orman 
and Saal show that diffusion of trace elements 
can be very slow, leading to an incomplete equi
librium between minerals and magma. also 
show that different rates of diffusion for 238lJ, 

226Ra and 2wPb can explain most of the 
observed radioactive disequilibria in basaltic 
rocks. Thus, diffusion of trace elements !including 

fig. 0.2 Decay of radioactive dis
equilibria for different systems. 
The timescale of return to secular 
equilibrium is directly a function 
of the nuclide half-life in 
the system considered: -8,000 
years for ;300,000 
for ~'"JTh-23~U. See Plate 0.2 for a 
colour version of this image. 

radionuclides) needs to be taken into account 
when rates of magma production. 

Mantle melting operates at variable rates 
between different tectonic environments (hots
pots, mid-ocean ridges, arcs). In all cases, once .a 
"'l'>1ww ... •un amount of melt is produced, it will 
rise towards the surface, because it is less dense 
than the surrounding rocks. In Chapter 4, O'Neill 
and Spiegelman show how numerical modeling 
can provide some of the mecha
nisms and timescales involved in the transfer of 
magmas from their source region towards the 
surface_ They suggest that melt transport can 
occur over a wide range of timescales: from sev
en!l millimeters per year when a pluton intrudes 
into the brittle crust, up to several tens of kilom
eters per hour during dyke propagation and elas
tic fracturing. 

Because radioactive 
U-series isotopes is created during 

and any disequilibrium decreases will 
pear within up to 300,000 years after production, 
U-series isotopes can also be used to constrain 
the timescales of magma transport. For ms,tru1ce 
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in Chapter 5, Turner and Bourdon show that 
magma ascent rates must be at least -1 to 20m/vr 
in order to preserve radioactive disequilibria pro
duced in the mantle and observed in many basal
tic rocks. Furthermore, because any 226Ra-230Th 
disequilibrium vanishes after -8000 years, the 
observation of 2uRa-2-'0Th disequilibrium in island 
arc basalts magma ascent rates in subduc
tion zones as high as 70 m/ yr. Magma transport in 
channels and/or rapidly propagating fractures is 
required to account for such large ascent rates. 
The of xenoliths (i.e. fragments of rock 
detached from the deep lithosph;::re and trans
ported in a magma) can also provide information 
on the timescales of magma ascent. Because 
xenoliths are denser than their host magma, the 
magma is required to have a minimum velocity 
in order to transport them to the surface and pre
vent their settling. Moreover, the chemical com
position of xenoliths is not in equilibrium with 
that of the host magma, and this disequilibrium 
disappears with time. Thus, the study of xeno
liths and host magma compositions can be used 
to determine magma ascent rates. In Chapter 6, 
O'Reilly and Griffin show that ascent rates for 
(volatile-rich) alkali basalts range frcr; 0.2 to 
2 m/s, i.e. 6 orders of magnitude faster than that 
of calc-alkaline basalts, inferred from U-series 
isotopes. Furthermore, kimberlites are believed 
to erupt at near-supersonic speeds (~3b0m/s). To 
summarize, melt transport can occur pver a wide 
range of timescales that reflect the variety of 
mechanisms involved (e.g. slow porous vs. fast 
channel flow). Moreover, magma transport can be 
very rapid, with t~ansfer from the Earth's mantle 
to the surface in only a few hours in the case of 
alkali basalts. 

Magmas do not always reach the surface 
directly from the of their production, but 
frequently stall in the crust where they differenti
ate, leading to the observed diversity of igneous 
rock compositions. To understand how magma 
differentiation produces such a wide range of 
compositions, it is important to constrain the 
rates of magma differentiation to discriminate 
between physical models of magma emplacement 
in the crust, cooling and interaction with the 

country rock. In Chapter 7, Costa and Morgan 
show how the study of elemental and isotopic 
composition profiles in minerals can be used to 
infer rates of magma cooling. The approach is 
based on several concepts: 
" A gradient of concentrations for a given ele
ment exists between crystals and the magma they 
are derived fromi 

• Concentrations between the crystal and the 
melt will equilibrate with time by diffusion: and 
• Diffusion rates are different for each element. 
Thus, because chemical equilibration between a 
melt and a crystal takes time, concentration and 
isotope composition profiles can be used to infer 
the timescales of magma evolution. Diffusion 
studies suggest that characteristic timescales of 
magma evolution in the crust (crystal fractiona
tion, crust assimilation, magma recharge, etc.) 
are typically up to a few hundred years. 

Similarly to previous chapters presenting the 
use of U-series isotopes to investigate rates of 
magma production and transfer, Chapter 8 by 
Dosseto and Turner shows how the U-series iso
tope composition of co-genetic volcanic rocks 
can be used to infer timescales of magma differ
entiation. Two approaches are presented: the first 
one is based on a study of the U-series isotope 
composition of minerals.lt is shown that depend
ing on the degree of differentiation of the volcanic 
rock hosting the minerals (i.e. more or less silica
richL timescales of differentiation can vary from 
less than one thousand years to several hundred 
thousand years. However, minerals from the 
same rock can also yield contrasting timescales. 
This is most likely explained by the complex his
tory of minerals during magmatic evolutioni for 
instance, minerals carried by a volcanic rock may 
not be in equilibrium with the host magma and 
have formed from an earlier magmatic batch. To 
circumvent· this problem, it would be necessary 
to analyse profiles of the U-series isotope compo
sitions in minerals. This represents a major ana
lytical challenge, although recent advances in 
in-situ geochemical techniques promise more 
detailed investigations of mineral isotope compo
sition in the near future. Another approach is to 
study the U-series isotope composition of whole 
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by U-series isotopes in crystals. In Chapter 10, 
Bachmann explores the timescales related to large 
eruptions of silicic magma bodies such as 
Yellowstone Caldera. Large silicic eruptions can 
have dramatic consequences for life and there is a 
clear inverse relationship between the frequency 
of these eruptions and their size. Although it is 
crucial to be able to predict such events, our 
understanding of the mechanisms involved is 
still incomplete. The techniques presented in 
this volume carry the hope of further advances in 
the near future. 

As mantle-derived magmas are emplaced into 
the crust, they interact with the host rock and can 
induce significant melting of the surrounding 
rock. In Chapter 9, Rushmer and Knesel show how 
melting experiments and the geochemistry of 
melts and restites (the residual solid from partial 
melting) shed light on the mechanisms and times
cales of crustal melting. It is shown that the com
position of melts produced from the crust depends 
not only on the composition of the starting mate
rial (i.e. the crustal rock that undergoes melting) 
but also on the conditions of melting (pressure, 
temperature, presence or not of deformation). 
Rushmer and Knesel show that crustal melting 
and 'contamination' of mantle-deriveci magmas 
occur over timescales of a few hundred years. 

Finally, when magmas erupt, they release a 
wide range of gases in variable abundances. This 
phenomenon 'is of primary importanc~ since it is 
linked to the origin and evolution of the Earth's 
atmosphere. It can also represent a significant 
hazard, as major degassing is generally associated 
with the most destructive eruptions. In Chapter 
11, Berlo et al. discuss how the timescales of 
degassing can be quantified, in particular using 
short-lived radionuclides such as 210Pb. It is shown 
that degassing is a complex process where some 
magma bodies can accumulate significant vol
umes of gas derived from the degassing of other 
volumes of magma. Timescales of magma degas
sing are very short compared to timescales of dif
ferentiation and are generally on the order of a 
few years. 

In conclusion, magmatism on Earth encom
passes a variety of processes - from partial melt
ing, to transport, to crystallization and degassing 

in magma chambers - that operate on vastly dif
ferent timescales (Figure 0.3). Our understanding 
of these processes and their timescales, in various 
tectonic settings, relies on integration of observa
tional, theoretical and experimental constraints 
from many sub-disciplines in geochemistry and 
geophysics. This book provides an introduction 
to the various approaches that are used to study 
magmatic timescales, and the key constraints 
that have been derived from each. By introducing 
the reader to all of the aspects that should be 
treated to gain a better understanding of mag
matic processes, we hope that this book opens 
new doors onto the future. 
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SUMMARY 

The extinct 182Hf-l82W and 146Sm-142Nd systems 
provide key chronological constraints on the 
major episodes of planetary differentiation. Both 
chronometers can be considered extinct after 
approximately 5-6 half-lives (i.e., after SOMyr 
and 400Myr respectively) and are therefore selec
tively sensitive to early events. Application of 
182Hf-l82W chronometry shows that segregation of 
the Earth's core may have been comptlte no ear
lier than 30Myr after formation of the solar sys
tem and probably involved at least partial 
re-equilibration of newly accreted metallic cores 
within the terrestrial magma ocean. }he current 
best estimate for the termination of the major 
stage of Earth's accretion and segregation of its 
core is provided by the age of the Moon, which 
formed as a result .of a giant collision of a Mars
sized embryo with the proto-Earth. According to 
182Hf-!82W systematics this event occurred 
50-lSOMyr after CAI formation. As the Earth 
cooled down following the giant impact, crystal
lization of the magma ocean resulted in the for
mation of the earliest terrestrial crust. While 
virtually no remnant of this proto-crust sur-

Timescales of Magmatic Processes: From Core to 
Atmosphere, 1st edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 2011 by Blackwell Publishing Ltd. 

vived in the present-day rock record, the isotopic 
fingerprint of this early event is recorded in the 
form of small 142Nd anomalies in early Archean 
rocks. These anomalies show that magma ocean 
solidification must have taken place 30-IOOMyr 
after formation of the solar system. In contrast, 
146Sm-142Nd systematics of lunar samples show 
that the lunar mantle may have remained par
tially molten until 300Myr after CAI formation. 
Therefore, extinct chronometers indicate that 
accretion and differentiation of the Earth pro
ceeded rapidly. The core, mantle and crust were 
completely differentiated less than lOOMyr after 
formation of the solar system. 

INTRODUCTION 

The accretion and earliest history of the Earth 
was an episode of major differentiation of a 
magnitude that probably will never be repeated. 
Frequent and highly energetic impacts during 
the Earth's growth caused widespread melting, 
permitting separation of a metallic core from 
a silicate mantle in a magma ocean. Soon after 
the major stages of the Earth's growth were 
complete, the magma ocean solidified and a 
first proto-crust formed. Earth is an active 
planet, however, concealing most of the evi
dence of its earliest evolutionary history by fre
quent rejuvenation of its crust. Consequently, 
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there is no direct rock record of the Earth's ori
gin and earliest evolution, but fortunately wit
nesses of the Earth's earliest evolution have 
been preserved as small isotope anomalies in 
the terrestrial rock record. The short-lived 
182Hf-182W and 146Sm-142Nd isotope systems pro
vide key constraints for understanding the 
Earth's accretion and earliest differentiation, 
and in this chapter, the basic theory of these 
isotope systems and their application to models 
of the Earth's formation and differentiation will 
be discussed. 

The starting place for the accretion of the 
Earth is the solar nebula, a flattened disk of gas 
and dust orbiting the young Sun. Within the 
inner regions of the solar nebula, dust grains 
collided and stuck together to form a large pop
ulation of meter- to kilometer-sized objects. 
Gravity and gas drag caused these planetesimals 
to collide and form increasingly larger bodies in 
a period of runaway growth, the products of 
which include numerous Moon- to Mars-sized 
planetary embryos. Collisions among these bod
ies mark the late stages of accretion, culminat
ing in the formation of a few terrestrial planets 
that sweep up all the other bodies. The Moon 
probably formed during this period)lnd involved 
a 'giant impact' of a Mars-sized body with Earth 
at the very end of Earth's accretion (Chambers, 
2004). 

Planetary accretion is intimate~y linked with 
heating and subsequent melting of the planetary 
interiors. The decay of short-lived radioactive 
isotopes, especially 26Al (t

112 
= 0.73Myr), and col

lisions among the planetary embryos, caused the 
planetary interiors to heat up. At some critical 
size, melting will have started within the plane
tary bodies, causing separation and segregation of 
a metallic core (Stevenson, 1990; Rubie et al., 
2007). As a consequence, all major bodies of the 
inner solar system and also many smaller bodies, 
are chemically differentiated into a metallic core 
and a silicate mantle. However, some planetary 
bodies, the chondrite parent bodies, escaped dif
ferentiation. They are too small for impact heat
ing to be significant and formed after most 26Al 

had decayed away. Chondrites thus provide infor
mation on what planetary bodies looked like 
before differentiation began. As such, the chon
drites are invaluable archives for investigating 
planetary differentiation. 

Melting in the interior of a planetary object 
permits the denser components to migrate towards 
the center, thereby forming a core. Metallic iron 
melts at lower temperatures than silicates, such 
that core formation can occur either by migra
tion of molten metal through solid silicate matrix 
or by separation of metal droplets from molten 
silicate. The latter process is probably appropriate 
for core formation in the Earth, where giant 
impacts caused the formation of widespread 
magma oceans. Once differentiation began, it 
proceeded rapidly. The downward motion of 
dense metal melts result in the release of poten
tial energy and hence further heating, which fur
ther triggers differentiation (Stevenson, 1990; 
Rubie et al., 2007). 

As the Earth's mantle cooled following the last 
giant impact, the terrestrial magma ocean started 
to crystallize, ultimately resulting in the forma
tion of the earliest terrestrial crust by migration 
and crystallization of residual melts near the 
surface. This process probably took place over 
timescales of the order of 10,000 to 100,000 
years, depending on the blanketing effect of the 
early atmosphere (Abe, 1997; Solomatov, 2000). 
As demonstrated by the presence of detrital zir
con in an Archean sedimentary formation from 
Western Australia (Wilde et al., 2001), the earli
est terrestrial crust must have solidified <150 Myr 
after formation of the solar system. Little is 
known, however, about this ancient proto-crust, 
as subsequent mantle-crust exchanges led to a 
complete rejuvenation of the Earth's surface, 
leaving virtually no remnant older than 3.8 Gyr. 
Clues on the age, lifetime and composition of 
the Earth's crust can thus only be obtained 
through the study of early Archean rocks, which 
sampled the mantle at a time when chemical 
and isotopic fingerprints of the earliest differen
tiation processes had not been completely erased 
by mantle mixing. 
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This chapter will be divided into three sections. 
The first section will introduce the main con
cepts and the reference parameters used for con
straining the chronology of core-mantle and 
mantle-crust differentiation using the 182Hf-!82W 
and 146Sm-142Nd chronometers, respectively. The 
second section will be dedicated to the 182Hf-182W 
chronology of the Earth's accretion and core for
mation on the Earth and the Moon. The last sec
tion will examine the chronology and mechanisms 
of mantle-crust differentiation on the Earth, Mars 
and the Moon, as obtained from application of 
the 146Sm-142Nd system to meteorites and plane
tary material. 

SYSTEMATICS AND REFERENCE 
PARAMETERS FOR SHORT-LIVED 

RADIO NUCLIDES 

The two-stage model for short-lived 
nuclide systems: 182Hf-182W 

Tungsten has five stable isotopes, all non-radio
genic with the exception of 182W, which was pro
duced by~ -decay of the short-lived isotope 182Hf 
(t112 =9 Myr). Because W is a moderately p,iderophile 
(iron-loving) element, whilst Hf is "'lithophile 
(rock-loving), the Hf/W ratio is fractionated by 
processes involving segregation of metal from 
silicates during formation of planetary cores. The 
182Hf-182W system has thus been exten~ively stud
ied in order to derive chronological constraints 
on terrestrial accretion and core formation. The 
development of the Hf-W system as a chronome
ter of core formation goes back to the pioneering 
work of Lee & Halliday (1995) and Harper & 
Jacobsen (1996). 

The siderophile behavior of W depends on sev
eral parameters including pressure, temperature 
and in particular oxygen fugacity. As a conse
quence, partitioning of Win planetary cores var
ies drastically among the terrestrial planets. The 
Hf/W ratio of the bulk silicate Earth is estimated 
to be ~ 17, which is significantly higher than the 
chondri tic Hf/W ratio of ~ l. As Hf and W are 

both refractory elements, this difference cannot 
be accounted for by cosmochemical fractiona
tion in the solar nebula and is thus attributed to 
W partitioning into the core. Hence, assuming 
that core formation occurred at a time when 
182Hf was still extant, the bulk silicate Earth 
should have evolved towards a W isotopic com
position that is more radiogenic in 182W com
pared to chondrites. 

The two-stage model represents the simplest 
conceptual framework for calculating ages of dif
ferentiation using radiogenic systems. The for
malism described below applies to core-mantle 
segregation but a similar development can be 
used for mantle-crust differentiation using the 
146Sm-142Nd chronometer. In this simple model, 
an undifferentiated primitive reservoir experi
ences instantaneous differentiation at time ta. 
The core and mantle reservoirs are characterized 
by Hf/W ratios lowerand higher than the bulk 
Earth value, respectively, and subsequently 
evolve as closed systems during the second stage. 
The basic decay equation for the short-lived 182Hf-
182W chronometer can then be obtained from the 
following mass balance relationship: 

Js2Hf(ta)+ !82W(ta)= Js2Hf(t)+ Js2W(t) (1) 

where t
0 

is the origin of the solar system and t is 
time running forward from t0 = 0 to present day 
(t = 4.567Gyr). Dividing both sides of Equation (1) 

p 

using a stable and non-radiogenic isotope of the 
daughter element ( e.g. 184W), we obtain, for the 
bulk Earth (BE): 

(
182W)EE =(l82W) +(l82Hf)EE -(l82Hf)EE 
Js4w Js4w 1s4w 1s4w (2) 

t t0 t0 t 0 

where (182Wjl84W),
0 

is the initial W isotopic com
position of the solar system. 

Radioactive decay for 182Hf can be expressed as 
a function of time: 

(
I82Hf)EE =(182H{\BE e-J.l82t 

1s4w 1s4w j 
t to 

(3) 
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where 1
182 

is the decay constant of 182Bf of 
0.079Myr-1• The second term on the right-hand 
side of Equation (2) can then be written as: 

(
l82Hf) (!BOHfJBE 
1soHf !84w 

to 

(4) 

where (182Hfjl80Hf),
0 

represents the initial abun
dance of the short-lived radionuclide at the time 
of formation of the solar system. The decay equa
tion for the bulk Earth finally reads: 

(5) 

Isotopic heterogeneities due to radioactive decay 
are usually normalized to the composition of the 
bulk silicate Earth and expressed as deviations in 
parts per 104 using the epsilon notation: 

(6] 

Using this notation, the present-d'JY chondritic 
e182W is -1.9 £-units, whilst the bulk' silicate Earth 
(BSE), by definition, has e.182W == 0. 

In the two-stage model, differen'tiation occurs 
as an instantaneous event at td > t 0 • The core 
incorporates no Hf, so that its isotopic com
position during the second stage remains con
stant and identical to that of the hulk Earth at 
time td: 

( 
!S2W)Core 
1s4w 

t 

(7] 

The residual silicate reservoir (i.e. the bulk 
silicate Earth) is depleted in W and its isotopic 
composition evolves towards a more radiogenic 
182W ji84W signature according to the following 
equation: 

(8) 

Combining Equations (7) and (8), we obtain the 
final two-stage model equation for short-lived 
radionuclides: 

(9) 

A model age for core formation can thus he 
directly derived from the present-day W iso
topic composition and Hf/W ratio of the BSE 
[i.e. (1 82W j184W)BSE and (!80Hf/184W)B5E'). The results 
of this equation for various values of td between 
0 and 50Myr are illustrated in Figure 1.1. This 
figure reveals that core-mantle segregation can 
only affect the 182Wf184W composition of the 
mantle if td < 50 Myr. After this point in time, 
182Hf was effectively extinct and any later Hf-W 
fractionation could not have led to variations 
in the 182W/184W ratio between the mantle and 
the core. 

Calculating two-stage model ages requires 
knowledge of the W isotopic evolution of chon
drites, which is assumed to represent that of the 
bulk, undifferentiated planet. To calculate the 
Hf-W isotopic evolution of chondrites, their ini
tial 182Hfj180Hf and 182W j184W compositions, 
tSOHf/184W ratio and present-day W isotopic com
position needs to be known [Equation (5)]. The 
most direct approach for determining the initial 
Hf and W isotopic compositions of chondrites is 
to obtain internal Hf-W isochrons for the oldest 
objects formed in the solar system, the Ca,Al-rich 
inclusions (CAis] found in carbonaceous chon
drites. The slope of the CAl isochron does 
not directly provide an age, as is the case for 
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Fig. 1.1 A two-stage model the isotopic evolution of core and mantle reservoirs se~:restat<~d at 

after formation of the solar system. 

long-lived chronometers, but instea.J yields the 
abundance of the parent nuclide (Le.182Hf/180Hf) 
at the time of CAl formation. the chro. 
nology obtained from Hf-W on plan~tary differ
entiation is not absolute but is iestablished 
relative to the formation of CAis at t 0 = 0. In 
order to an absolute chronology, it is 
necessary to estimate independently the age of 
CAls a long-lived radioactive system. The 
U-Pb chronometer gives ages of ~4.568 Gyr for 
CAl formation \Atnelin et aL, 2002; Bouvier 
et al., 2007). 

t\n internal Hf-W isochron for mineral sepa
rates from several CAis from the Allende and 
NWA 2:364 CV chondrites the following 
initial values: initial 182Hfjl 80Hf::::: (9.72 ± 0.44) x 
w~s and initial c.182W"' -3.28 ± 0.12 (Figure 1.2). 
Bulk carbonaceous chondrites have a more 
Hl\.l.iUJ<."'•.uc W isotopic composition of £182W 
-1.9 ± 0.1 (Kleine et aL, 2.002, 20Q4ai '-'"LLv-..uv•vLb 

et al., 2002; Yin et ol., 2002b). Note that the first 

W data for obtained by Lee & 

Halliday (1995), E}82W - 0, but later 
studies showed that this initial measurement 
was inaccurate. The elevated mw /184W of chon
drites compared to the initial value of the solar 
system reflects the decay of 182Hf to 182W over 
the age o( the solar system, and from this differ-
ence the time-integrated of chondrites 
can be calculated Equation (5 ). This 
approach results in a time-integrated 180Hf/184W 

of chondrites of identical to the results of 
high-precision concentration measurements 
that yield an 180Hffl84W ratio of 1.23 (Kleine 
et al., 2004a). 

Once the Hf-W isotopic evolution of chondrites 
is defined, two-stage model ages of core forma
tion can be calculated from the Hf/W ratio and 
~182W value of the mantle or core of a differenti
ated planetary body \Equation 19)). We will dis
cuss these two-stage model ages for several 

bodies in detail in the section on 'Hf-W 
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chronology of the accretion and early differentia
tion of the Earth and Moon.' 

However, when considering the short half-life 
of 182Hf (9 Myr) and the characteristic timescale of 
accretion and core formation (10-100Myr), it is 
evident that core formation cannot be treated as 
an instantaneous event and more c;mplex, con
tinuous segregation models are required. These 
also will be discussed in more det~il in that sec
tion. The two-stage model, however, is extremely 
useful as it provides a maximum agJ: for the com
pletion of core formation. 

Because both Hf and W are refractory, it has 
been customary to assume that their relative 
abundances remained more or less constant 
throughout the solar system. Consequently, for 
refractory elements, the composition of the bulk 
Earth must be close to that of chondrites (i.e. 
(
180Hf/ 184W)BE = 1.23). In detail, however, the com

position of the bulk Earth may deviate from that 
of chondrites due to collisional erosion of early
formed crust (O'Neil & Palme, 2008; Warren, 
2008). Due to the higher incompatibility of W 
compared to Hf, planetary crusts have sub
chondritic H.f/W ratios, such that impact-induced 
erosion of such crustal material would tend to 
increase the Hf/W ratio of the bulk Earth com-

•'"zW=-1.9 

Fig. 1.2 Hf-W isochron of Ca,Al-rich 
inclusions from CV chondrites. Data 
points are for different mineral sepa
rates from CAis. Those with the 
highest 180Hf/184W and £ 182W are for 
fassaites. The solar system initial Hf 
and W isotopic compositions are 
defined by the CAl isochron. Also 
shown with dashed lines are the Hf-W 
parameters for average chondrites. 
Modified from Burkhardt et al. (2008). 

pared to chondrites. Obviously this would affect 
the chronology derived from Hf-W systematics. 
This aspect and its consequences on chronologi
cal constraints derived from 182Hf- 182W will be 
briefly discussed in later sections. 

Coupled 146Sm-142Nd and 147Sm-143Nd 
chronometry 

The coupled Sm-Nd system is a chronometer 
composed of an extinct and an extant radioactiv
ity: 143Nd is produced by a-decay of the long
lived 147Sm (T

112 
= 106 Gyr), and 142Nd was 

produced by a-decay of now-extinct 146Sm (T
112 

= 

103Myr). The domain of application of these 
chronometers is thus conditioned by their respec
tive half-life and by the chemical properties of 
the Rare Earth Elements (REE). As with most 
REE, Sm and. Nd are characterized by high con
densation temperatures (Boynton, 1975; Davis & 
Grossman, 1979), moderate incompatibility dur
ing magmatic processes and an extremely 
lithophile behavior during metal-silicate segre
gation. Core formation is thus unlikely to frac
tionate the REE significantly, even under highly 
reducing conditions, whilst volatility-controlled 
fractionation has only been observed in high-T 
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Table 1.1 147Sm-143Nd systematics in the major terrestrial reservoirs (upper crust, 
depleted mantle, and bulk silicate Earth) 

143Nd/144Nd 

Upper crust 0.5116 
Depleted mantle 0.5131 
BSE (chondritic model) 0.512638 
BSE (non-chondritic model) 0.51299 

condensates such as CAis (Ireland et al., 1988). 
At the exception of extremely reducing nebular 
environments, where Samarium can be reduced 
to a divalent state (Lodders & Fegley, 1993; Pack 
et al., 2004), Sm and Nd are trivalent and do not 

,_,~,.~,,v~ redox-controlled fractionation. As a 
consequence, the relative abundances of Sm and 
Nd in planetary reservoirs are essentially con
trolled by partial melting and fractional crystal
lization processes involved in the formation of 
planetary crusts (Table 1.1). As Nd is normally 
more incompatible than Sm, crustal reservoirs 
formed by partial melting of the mantle, or by 
fractional crystallization of a magma ocean, will 
have low Sm/Nd ratios and high Nd concentra
tion, whilst the residual mantle res;rrvoirs are 
characterized by a higher Sm/Nd (Table 1.1). 
Differentiated crust or mantle are thus expected. 
to develop distinct 143Ndfl44Nd signatures, usu
ally noted £143Nd: 

(10) 

where CHUR (Chondritic Uniform Reservoir) 
represents the average chondri tic composition. A 
similar notation is used for the 146Sm-142Nd sys
tem, with (142Nd/144Nd).BsE as the normalizing 
ratio. Long-lived differentiated crustal reservoirs 
are thus expected to develop unradiogenic e143Nd, 
whilst an elevated e143Nd indicates derivation 
from a mantle previously depleted in incompati
ble elements. If differentiation takes place prior 
to extinction of 146Sm (i.e. >4.2 ago), then 
crustal and mantle reservoirs will also develop 

147Smf144Nd Source 

0.117 Taylor & Mclennan (1 
0.215~0.235 Salters & Stracke (2004) 

0.1966 Jacobsen & Wasserburg (1984) 

0.2082 Caro eta/. (2008) 

distinct e142Nd signatures, respectively lower and 
higher than the BSE composition. 

The existence of distinct e143Nd signatures 
between terrestrial silicate reservoirs (Figure 1.3) 
has permitted the establishment of constraints 
on the chronology of mantle-crust differentia
tion (Jacobsen & Wasserburg, 1979; Allegre et al., 
1979; DePaolo & Wasserburg, 1979; DePaolo, 
1980), the exchange fluxes between crust and 
mantle (Albarede & Rouxel, 1987; Albarede, 
2001) and the fate of recycled crustal material in 
the mantle & Hart, 1986). However, the 
constraints derived from 147Sm-143Nd systemat
ics only depict a relatively recent (<2-3 Gyr) his
tory of the mantle-crust system. Events that 
took place earlier in Earth's history are far more 
difficult to constrain, because their isotopic fin
gerprint on mantle composition has been erased 
by later crustal formation and recycling. In con
trast, the 146Sm-142Nd chronometer is only sensi
tive to events that took place during the very 
early history of the Earth. Given the current ana
lytical uncertainties on Nd isotopic measure
ments (2a 2-5 ppm), radiogenic ingrowth in 
silicate reservoirs becomes negligible after 
approximately 4 periods. Distinct 142Nd signa
tures can thus only develop in silicate reservoirs 
differentiated prior to 4.2 Gyr. Thus, whilst the 
143Nd/144Nd composition of modern silicate res
ervoirs is mainly inherited from continuous 
crnstal formation during the past 2 to 3 Gyr, 
their 142Nd signature can only be the result of 
much earlier REE fractionation, thereby making 
the 146Sm-142Nd system a selective tool for dating 
the formation of the earliest crusts on Earth and 
other terrestrial planets. 
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Fig. 1.3 (a) REE abundance patterns of the major terrestrial silicate reservoirs normalized to CI chondrites. The 
CI-normalized pattern of the bulk silicate Earth is not directly constrained but has been conservatively assumed to 
be perfectly flat, with [REE]

85
E = 2.75 x [REEJcHuR (McDonough & Sun, 1995). However, a slightly non-chondritic com

position, perhaps similar to the hypothetical pattern shown here, is suggested by the non-cl).ondritic 142Nd composi
tion of terrestrial samples. A large fraction (30-50%) of the LREE budget of the silicate Earth is concentrated in the 
continental crust, which shows an enrichment by 1-2 orders of magnitude compared with bulk silicate Earth values. 
In contrast, the uppermost mantle (as sampled by mid-ocean ridge basalts) is characterized by a depleted REE pattern 
(LREE<HREE) and a radiogenic 143Nd/'44Nd signature indicative of long-term evolution with high Sm/Nd ratio. 
(b) Schematic illustration showing the 143,i-Jdf'44Nd evolution of major silicate reservoirs. The present-day continental 
mass was formed during three major episodes of crustal growth at 2. 7, 1.9 and L2Gyr (Condie, 2000). This process 
extracted about one-third of the total Nd. budget of the bulk Earth, creating an enriched reservoir with low 147Smf'44Nd 
ratio (0.12), which subsequently evolved towards unradiogenic E143Nd (-15 E-units), and a complementary depleted 
mantle characterized by high 147Smf'44Nd (0.23-0.25) and radiogenic E143Nd signature (E143Nd = +9) (Allegre et al., 1979i 
DePaolo & Wasserburg, 1979i Jacobsen & Wasserburg, 1979). Recycling of oceanic crust in the deep mantle may also 
contribute to depleting the uppermost mantle in incompatible elements (Christensen & Hofmann, 1994). 

Two-stage mantle-crust 
differentiation model 

The development of 146Sm-142Nd systematics has 
long been hampered by the difficulty of measuring 
with sufficient precision the small radiogenic 
effects on 142Nd (Sharma et al., 1996), a problem 
essentially due to the scarcity of 146Sm in the early 
solar system. The presence of this p-process radio
nuclide was first demonstrated by Lugmair & 
Marti ( 1977), who reported radiogenic 142Nd effects 
in mineral separates from the achondrite Angra 
Dos Reis. This observation was then confirmed by 

the discovery of highly radiogenic 142Nd signatures 
in carbon-chromite fractions from the chondrite 
Allende, which were attributed to a-recoil effects 
from 146Sm in carbon films surrounding Sm-bearing 
grains (Lugmair et al., 1983). In the early 1990s, 
accurate determinations of the initial abundance 
of 146Sm were obtained using a new generation of 
mass spectrometers. Lugmair & Galer ( 1992) 
reported an initial 146Sm/144Sm ratio of 0.0071 ± 17 
for Angra Dos Reis and Prinzhofer et al. (1989, 
1992) suggested a value of 0.008 ± 1 from mineral 
separates of the meteorites Ibitira and Morristown 
(Figure 1.4). These estimates are in general agree-
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Fig. 1.4 (a)l47Sm-143Nd and (b) 146Sm-142Nd mineral isochrons from the Eucrite Ibitira (Prinzhofer et al., l992). 142Nd 
heterogeneities in mineral separates are correlated with their respective Sm/Nd ratio, demonstrating the presence of 
live 146Sm at the time of crystallization of the rock. In contrast with the long-lived 147Sm- 143Nd system, the slope of 
the 146Sm- 142Nd isochron does not yield an absolute age but is proportional to the abundance of the parent nuclide 
(i.e. 146Sm/144Sm) at the time of crystallization. Mineral isochrons established in chondrites and achondrites provide 
a best estimate for the initial 146Sm/144Sm ratio of 0.008 ± l. Reprinted from "Geochimica et Cosmochimica Acta", 
56:2, A Prinzhofer, D.A Papanastassiou, G.J Wasserburg, Samarium-neodymium evolution of meteorites, pp. l-2, 
1992, with permission from Elsevier. 

ment with more recent results obtained by Nyquist 
et al. (1994) and Amelin & Rotenberg (2004) and 
were widely applied as reference parameters in 
later studies (Harper & Jacobsen, 1992; ,Caro et al., 

""' 2003; Boyet & Carlson, 2005). 
The two-stage model described for the 182Hf-

182W chronometer can be easily transposed to 
mantle-crust differentiation. In this case, the 
two-stage model equation describing the evolu
tion of a depleted mantle reservoir reads: 

X 

( 
147 JBSE 

Sm -.>.146'" 
144Nd x e 

'" 

( 11) 

( 
147 JEDM 

Sm [ -.<,46'd -?.146' J 
+ 144Nd x e -e 

'" 

where the acronyms EDM and BSE stand for Early 
Depleted Mantle and Bulk Silicate Earth, respec
tively. The term EDM is used here to avoid con
fusion with the modern depleted mantle, whose 

chemical composition reflects continuous crus
tal extraction and is thus not directly relevant to 
early differentiation processes. Note also that in 
order to homogenize notations with the 147Sm-
143Nd decay equation, the parent-daughter ratio in 
Equation (11) is often expressed as 147Smjl44Nd. 

As can be seen from Equation ( 11 ), a model age 
(td) of mantle-crust differentiation can be derived 
from 146Sm-142Nd systematics, assuming that 
(142Ndjl44Nd)EDM and (147Smfl44Nd)EDM are known. In 
practice, the latter cannot be estimated directly, as 
mantle-crust exchanges during the Archean and 
Proterozoic have overprinted the geochemical sig
nature of the earlier magmatic events. However, 
this problem can be circumvented by combining 
the 147Sm-143Nd and 146Sm-142Nd systems using a 
simple two-stage model (Figure 1.5 ). The 143N d/144Nd 
evolution of the EDM can then be expressed as: 

(
143NdJEDM =(!43NdJBSE +(l47SmJBSE 
1••Nd 1••Nd 1••Nd 

t ~ ~ 
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Fig. 1.5 Schematic illustration of the coupled 146• 1"Sm~142• 143Nd chronometer. (a) e143Nd evolution of a proto-crust 
(labeled crust) and complementary mantle reservoirs (labeled edm-Hi and differentiated at 4.5Gyr (1) and 
4Gyr (2). The Archean 143Nd record is consistent with either a moderate Sm/Nd fractionation at a very early stage 
of the Earth's history (l), or more substantial fractionation at a later stage (2). (b) The 146Sm-142Nd chronometer pro
vides more accurate chronological constraints. Here only the early event (l) can generate significant 142Nd excesses. 
In contrast, any Sm/Nd fractionation occurring after -4.2 Gyr would not generate significant 142Nd excess Note 
that later depletion/enrichment of the EDM would modify the 143Nd/144Nd ratio of the EDM without necessarily 
affecting its 142Nd/144Nd composition (3). (c) Using coupled 147Sm-14-.'Nd and ''6Sm-142Nd chronometry, one can deter
mine the age of differentiation of the mantle-crust system and the magnitude of Sm/Nd fractionation in the dif
ferentiated mantle (or crustal) reservoir. (d) When plotted in a Sm/Nd vs. e142Nd ... 

1 
co genetic reservoirs 

plot along a planetary isochron whose slope the age of differenti~~ion of the r';;'~~tle-crust system. Disturbance 
of this isochron relationship can occur during subsequent mantle depletion or enrichment remelting of a 
magma ocean cumulate, metasomatism (3)i. Note that the bulk composition of the primitive reservoir should also 
plot along the isochron. 
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where A. 147 is the decay constant of 147Sm. By 
combining Equations (11) and (12), we obtain a 
system of two chronometric equations from 
which both the l47Sm/144Nd ratio and the age of 
differentiation of the EDM can be calculated 
(Figure l.Sc). Using this coupled 146·147Sm-142·143Nd 
chronometer, the age of the crust can be esti
mated solely from its isotopic fingerprint in the 
mantle. 

Planetary isochrons 

The two-stage model described above implies 
that the EDM evolved as a closed-system 
between td and t

5
• However, any magmatic event 

affecting the EDM after 4.2 Gyr would impact 
the long-lived 147Sm-143Nd system without nec
essarily affecting the 146Sm-142Nd system (Figure 
l.Sa) and this could result in spurious age esti
mates if considered in the context of a two-stage 
model. A possible way of identifying such decou
pling is to establish a planetary isochron (Figure 
l.Sd). These are constructed from a series of 
samples derived from cogenetic crustal and/or 
mantle reservoirs such as magma ocean cumu
lates. Although the scarcity of terrestrial sam
ples with 142Nd anomalies has so hr made this 

. "" 
method inapplicable to early Earth differentia-
tion, planetary isochrons have been used for 
determining ages of differentiation for the lunar 
and Martian mantle (see the sectioJl on ' 146Sm-
142Nd constraints on the evolution of the Hadean 
crust'). In an isochron diagram, the 142Ndj144Nd 
composition of samples extracted at time t from 
differentiated re~ervoirs are plotted again~t the 
147Sm/144Nd ratio of their source (Figure l.Sd). 
The latter are estimated using a two-stage model 
based on the initial 143Nd/144Nd composition of 
each sample: 

( 

147 Sm )source 
144Nd 

'r 
c43Ndjl44Nd},~ -c43Ndj144 NdX:"'ce 

e <t,_eJ.'d 

(13) 

where (143Nd/ 144Nd)tsource is the initial isotopic 
composition of a sample extracted at timet and 
(143Nd/ 144Nd)GM is the isotopic compositiosn of 
the primitive mantle at ta. An age of mantle dif
ferentiation is then obtained from the slope of 
the isochron (S) in an c142Nd vs 147Sm/144Nd 
diagram: 

(14) 

where (1 42Ndj144Nd)S'd is the composition of the 
terrestrial standard used for normalizing c142Nd 
values. The age of differentiation is thus esti
mated using an iterative scheme from the slope 
of the regression line passing through all sam
ples, but is not forced to intersect a hypothetical 
primitive mantle composition. Planetary iso
chrons thus provide more than simple chrono
logical constraints. As shown in Figure l.Sd, 
non-cogenetic reservoirs would not plot along 
the same isochron, and this can be used to iden
tify decoupling of the 147Sm-143Nd and 146Sm-
142Nd systems. In addition, the position of the 
isochron compared with the chondri tic reference 
provides constraints on the composition of the 
primitive reservoir from which planetary crusts 
differentiated (see the section on ' 146Sm-142Nd 
constraints on the evolution of the Hadean 
crust'). Ideally, cogenetic reservoirs differenti
ated from a primitive chondritic mantle should 
plot along an isochron passing through the chon
dritic composition (i.e. CHUR, Table 1.1). Failure 
to do so would indicate that the source reservoir 
experienced at least one additional episode of 
REE fractionation prior to the differentiation 
event recorded by the isochron. This aspect and 
its consequences on the composition of the ter
restrial planets will be further discussed in the 
section on ' 146Sm-142Nd constraints on the evolu
tion of the Hadean crust.' 
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HF-W CHRONOLOGY OF THE 
ACCRETION AND EARLY 

DIFFERENTIATION OF THE 
EARTH AND MOON 

Hf-W systematics of planetary reservoirs 
and two-stage model ages of core 

formation 

The two main parameters that need to be known 
to calculate Hf-W ages of core formation are the 
Hf/W ratio and W isotope composition of the 
bulk mantle or core of a planetary body. Since we 
do not have samples from the core and mantle of 
an individual planetary object, the ages are calcu
lated relative to the composition of the bulk, 
undifferentiated body, which we assume to be 
chondritic (see section on 'Systematics and refer
ence parameters for short-lived radionuclides'). In 
the simplest model of core formation, it is 
assumed that the core formed instantaneously 
and an age for core formation can then be calcu
lated by assuming a two-stage model (Lee &. 
Halliday, 1995i Harper &. Jacobsen, l996i Kleine 
et aL, 2002). The underlying approach and the 
equation for calculating a two-stage Hf-W model 
age of core formation is described in detail in the 
section on 'Systematics and referenJe parameters 
for short-lived radionuclides.' 

The only samples available from the metallic 
core of differentiated planetary bodies are the 
magmatic iron meteorites. They contain virtu
ally no Hf and their present-day W isotope com
position is identical to that at the time of core 
formation [Horari. et al., 1998). All iron meteor
ites exhibit a deficit in 182W compared to chon
drites and their c182W values are among the lowest 
yet measured for solar system materials. Some 
iron meteorites even have c18~·w values lower 
than the solar system initial value (as determined 
from Ca,Al-rich inclusions, see the section on 
'Systematics and reference parameters for short
lived radionuclides') but these low values reflect 
the interaction with thermal neutrons produced 
during the extended exposure of iron meteoroids 
to cosmic rays (Kleine et al., 2005ai Markowski 
et al., 2006i Schersten et 2006). If these effects 

Table 1.2 Hf-W systematics of planetary reservoirs 
(Kleine et al., 2009) 

"oHf1'84W £ 182W 

Chondrites -0.6-1.8 -1.9±0.1 
Basaltic eucrites 24-42 21-33 
Angrites 4-7 1-5 
Bulk silicate Mars -3-4 0.4 ± 0.2 
Bulk silicate Moon -26 0.09±0.1 
Bulk silicate Earth -17 0 

are fully taken into account, all iron meteorites 
have c132W values indistinguishable from the ini
tial c182W of CAis (Kleine et al., 200Sai Burkhardt 
et al., 2008). The unradiogenic c182W values of 
iron meteorites indicate that their parent bodies 
differentiated within <l Myr after formation of 
CAis. Thus iron meteorites are samples from 
some of the oldest planetesimals that had formed 
in the solar system. 

Hafnium-tungsten data are available for a vari
ety of samples that derive from the silicate part of 
differentiated planetary bodies, including the par
ent bodies of some basaltic achondrites (eucrites, 
angrites) and Mars as well as the Earth and Moon 
(Table 1.2). All samples exhibit elevated Hf/W 
ratios and c182W values compared to chondrites, 
indicating that Hf/W fractionation by core forma
tion in these planetary bodies occurred during the 
lifetime of 182Hf. An important observation is that 
the Hf-W data for samples derived from the sili
cate and metal parts of differentiated planetary 
bodies show the pattern that is expected for Hf/W 
fractionation during core formation and subse
quent decay of 182Hf to 182W. As such, these data 
confirm the basic theory of the Hf-W system as a 

. chronometer of core formation. 
Whilst determining an Hf-W age of core forma· 

tion based on iron meteorite data is straightfor
ward, because the W isotope composition of iron 
meteorites solely reflects Hf-W fractionation dur
ing core formation, the interpretation of Hf-W 
data for silicate rocks in terms of core formation 
timescales is more complicated. Owing to the 
different behavior of Hf and W during mantle 
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Fig. 1.6 Two-stage model age of core for
mation vs planet radius. After Kleine et al. 
(2002) with updated age. 

'"'''"'·"E>' the Hf/W ratio of a rock is different from 
that of the bulk mantle of its parent body. 
Similarly, theW isotope composition of a mantle
derived rock may be different from tbat of the 
bulk mantle, if mantle melting occurred during 
the lifetime of 182Hf. Thus, the Hf/W ratio and W 
isotope composition characteristic for the entire 
mantle of a differentiated planetary body can 
often not be measured directly and the effects of 
Hf-W fractionation during mantle 1~elting need 
to be taken into account. 

Eucrites .and angrites are basaltic- rocks that 
crystallized early in solar system history near the 
surface of small, differentiated planetary bodies. 
Their Hf-W systematics were established during 
the early differentiation of their parent bodies 
and thus can be ~sed to constrain the timing of 
this early differentiation. Basaltic eucrites have 
180Hfjl84W -20 to 30 and c182W -21 to 33 !Kleine 
et al., 2004a; Touboul et al., 2008!t whilst aug
rites have 180Hfjl84W -4 to 6 and c182W -1 to 5 
iMarkowski et al., 2007; Kleine et al., 2009). The 
two-stage model ages of both basaltic eucrites 
and angrites are similar and range from -1 to 
-4Myr after CAI formation (Figure 1.6). This 
range in model ages is unlikely to reflect a real 
spread in the timing of core formation but proba
bly is due to additional Hf-W fractionations dur
ing mantle-crust differentiation, partial melting 

and, in the case of the basaltic eucrites, also ther
mal metamorphism. 

In contrast to the basaltic achondrites, sam
ples from Mars as well as the Earth and Moon are 
relatively young igneous rocks and their Hf/W 
ratios, which are the product of a long history of 
multiple melting events, are unrelated to their 
W isotope composition, which only reflect the 
earli.est differentiation history of their parent 
bodies. The Hf/W ratio that is characteristic of 
the entire mantle of Mars, the Earth and the 
Moon can thus not be measured directly but 
must be determined by comparing the W con
centrations in the samples with another element 
that behaves similarly during silicate melting 
li.e. has a similar incompatibility), tends to stay 
in the mantle and whose abundance relative to 
Hf is known. The latter two conditions are met 
by refractory lithophile elements because their 
relative abundances in bulk planetary mantles 
should be chondritic. This is because they are 
neither fractionated by core formation !because 
they are lithophile) nor by volatile element 
depletion {because they are refractory). Trace 
element studies on Martian, lunar and terrestrial 
basalts show that U, Th and W have similar 
incompatibilities, such that the U/W or Th/W 
ratios of these rocks can be used to obtain an Hf/W 
ratio of the bulk mantle (Newsom et al., 1996). 
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Using this approach, the following estimates for 
the bulk mantle Hf/W ratios are obtained: 17 ± 5 
(Earth), 26 ± 2 (Moon) and 3.5 ± 0.5 (Mars) (Kleine 
et al., 2009). 

The 182W jl84W ratios of Martian meteorites fall 
into two groups (Lee & Halliday, 1997; Kleine 
et al., 2004a; Foley et al., 2005b): the basaltic 
shergottites having e182W -0.3 to 0.6 and the 
nakhlites and Chassigny having e182W -2 to 3. 
This 182W heterogeneity of the Martian mantle 
makes it difficult to estimate the e182W that is 
characteristic for the bulk Martian mantle. Most 
studies have used the e182W value of shergottites 
for the bulk Martian mantle because some sher
gottites have near-chondritic 142Nd/144Nd ratios, 
indicating only limited trace element fractiona
tion during early melting of their source. Using 
e182W = 0.4 ± 0.2 and Hf/W = 3.5 ± 0.5 for the bulk 
Martian mantle1 results in two-stage model ages 
of core formation of 4.6 ± 4.1Myr after CAl for
mation. The large uncertainty of this age largely 
reflects uncertainties in the mantle Hf/W ratio 
and the fact that this ratio is only slightly 
than the chondritic value (Nimmo & Kleine, 
2007). As will be discussed in more detail below 
for core formation in the for larger bodies 
the two-stage model age does not n1cessarily pro
vide a good estimate of the timescale of core for
mation and the two-stage mQ(iel age may 
underestimate the time taken to accrete and dif
ferentiate 'Mars by a factor of -9 (Nimmo & 
Kleine, 2007). Thus, the Martian core may not 
have formed before -20 Myr after the beginning of 
the solar systerrL 

In contrast tQ the parent bodies of basaltic 
achondrites and Mars1 there are no 18ZW varia
tions in the lunar and terrestrial mantles, such 
that the e182W values of the bulk lunar mantle 
and the bulk silicate Earth can be measured 
directly and are known precisely. Determining 
the indigenous W isotope composition of the 
Moon and the extent to which 182W/ 184W varia
tions exist that reflect 182H£ decay within the 
Moon has proven to be a difficult task. There are 

variations in the 182W fl 84W ratios of lunar 
whole-rocks, which initially were interpreted to 
reflect an early formation of the Moon and 182Hf-

decay within the Moon (Lee et aL, 1997). More 
recent studies, however, showed that elevated 
l82Wjls•w ratio in lunar whole-rocks are entirely 
due to the production of 182Ta by neutron-cap
ture of 181Ta and subsequent decay of 182Ta to 
lB2W (Kleine et al., 2005b; Touboul et al., 2007), 
and that all lunar samples have indistinguisha
ble e182W values averaging at 0.09 ± 0.10 (Touboul 
et al., 2007, 2009b). Given that lunar rocks 
derive from sources with highly variable Hf/W, 
the lack of 182W variations among lunar samples 
indicates that differentiation of the lunar man
tle occurred after extinction of 182Hf, that is 
>-60Myr after the beginning of the solar sys
tem. The Hf/W ratio and W isotope composition 
of the lunar mantle correspond to a two-stage 
model age of 36 2Myr after CAl formation, 
slightly younger than the two-stage model .age 
of the Earth's core of 30 ± 5 Myr (Touboul et al., 
2007; Kleine et al., 2009). 

Figure 1.6 reveals that there is a correlation 
between two-stage model ages of core forma
tion and planet size (Kleine et al., 2002): the 
larger a planetary body, the younger is its two~ 
stage model age. Such a pattern is unexpected if 
core formation did not occur until some-critical 
stage of planetary accretion. Whilst the small 
meteorite parent bodies acc~eted early and 
underwent differentiation rapidly, bodies 
such as the Earth grew and differentiated over a 
much longer timescale. Thus, the basic assump
tion of the two-stage model that is that the 
entire planet differentiates in one instant is 
appropriate for the small meteorite parent bod
ies because their accretion rate is short com
pared to the 182Hf half-life. However1 the 
two-stage model age for the Earth of -30 Myr 
indicates that accretion of the Earth occurred 
over a timescale that is long compared to the 
182Hf half-life. Thus, for the Earth the assump
tion of instantaneous core formation is not jus
tified, and the two-stage model time of -30Myr 
would only date core formation if during this 
event the entire core was first remixed and 
homogenized with the entire mantle before 
final segregation of metal to form the present 
core. This is physically implausible. 
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The two-stage model age, therefore, is not. a 
reasonable estimate of the exact age of the Earth's 
core but nevertheless provides an important con
straint on the timescale of core formation. 
Because Hf is lithophile and W is siderophile, the 
bulk silicate Earth cannot have an Hf/W ratio 
and, hence a 182Wjl84W ratio, lower than chon
dritic at any time, provided that the bulk Earth 
has chondritic relative abundances of refractory 
elements. Since the two-stage model assumes a 
chondritic W isotopic composition at the time of 
core formation, the calculated model age corre
sponds to the earliest time from which the Earth's 
mantle could subsequently have evolved to its 
present-day 182W excess (Halliday et al., 1996; 
Kleine et al., 2004b). 

Hf-W isotopic evolution during continuous 
core formation and protracted accretion 

The accretion of the Earth involved multiple col
lisions between smaller proto-planets. These col
lisions delivered the energy required for melting 
and core formation, such that the timescale of 
core formation is equivalent to the timescale of 
the major stage of accretion. Since the core did 
not segregate in a single instant at, the end of 
accretion but formed continuously crt1ring accre
tion, there is no single, well-defined-'age' of core 
formation. An age rather corresponds" to a certain 
growth stage of the core. A widely uss;d model for 
the Earth's accretion is one that assumes an expo
nentially decreasing rate, such that: 

(15) 

where m/ME is the cumulative fractional mass of 
the Earth at time t and a is the time constant of 
accretion (Harper & Jacobsen, 1996; Jacobsen, 
2005). This model provides a reasonable approxi
mation to the Wetherill (1990) accretion model 
for the formation of the Earth, which is among 
the first of its kind. It is important to note how
ever, that the exponential model does not mean 
that accretion occurred by the incremental 

growth of small mass fractions. Dynamical mod
eling suggests that the main mass of the Earth 
was delivered by multiple and stochastic impacts 
that bring in large core masses at once (Agnor 
et al., 1999). From the stochastic nature of these 
large, late-stage impacts, it follows that growth 
of the Earth's core occurred episodically rather 
than being a continuous process during accre
tion. The exponential model, therefore, assumes 
that these collisions occurred at an exponen
tially decreasing rate. In this model, the end of 
accretion is poorly constrained because accre
tion probably terminated with one large impact 
(the Moon-forming impact), the timing of which 
is not well defined in the exponential model. It 
is thus more useful to characterize the timescale 
in terms of a mean age of accretion, r, which is 
the inverse of the time constant a and corre
sponds to the time taken to achieve -63% growth 
(cf. Harper & Jacobsen, 1996). It is also useful to 
characterize the timescale of the Earth's accre
tion by the time taken to accrete 90% of the 
Earth, because current models of lunar origin 
predict that the Moon formed during the colli
sion of a Mars-sized impactor with a proto-Earth 
that was 90% accreted (Halliday, 2004, 2008; 
Kleine et al., 2004b, 2009). Thus, t

90 
for the Earth 

is equivalent to the timing of the Moon-forming 
impact and the end of the major stage of the 
Earth's accretion and core formation. Using 
Equation (15), we show that t

90 
= 2.3r. 

Several lines of evidence indicate that a large 
fraction of the Earth was accreted from objects 
that had already undergone core-mantle differen
tiation. Hafnium-tungsten data for iron meteor
ites and basaltic achondrites demonstrate that 
differentiation of their parent bodies occurred 
very early, within <1 Myr after CAI formation 
(Kleine et al., 2009). These data suggest that at 
least some of the planetesimals that accreted to 
the Earth were already differentiated. However, 
a significant amount of the Earth's mass was 
delivered by much larger Moon- to Mars-sized 
embryos. It seems inevitable that these were 
already differentiated prior to their collision 
with the proto-Earth, because models of plane
tary accretion predict that at 1 AU, planetary 
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embryos had formed within -1 Myr after CAl 
formation. In this case, they will have melted 
owing to heating by the decay of then abunda!!t 
26Al. Furthermore, planetary embryos are large 
enough that collisions between two embryos 
release sufficient energy for melting and 
differentiation. 

A question of considerable interest for inter
preting theW isotope composition of the Earth's 
mantle in terms of core formation timescales is 
the mechanism by which metal is transported to 
the core during the collision of a pre-differenti
ated object with the Earth (Harper & Jacobsen, 
1996; Kleine et al., 2004b, 2009; Nimmo & 
Agnor, 2006; Rubie et al., 2007; Halliday, 2008). 
The key issue is if the incoming impactor metal 
core directly merged with the Earth's core' or 
finely dispersed as small droplets in the terres
trial magma ocean. In the case of core merging, 
no equilibration between the impactor core and 
the Earth's mantle will have taken place and the 
chemical and isotopic composition of the Earth's 
mantle would largely reflect the conditions of 
core formation in Earth's building blocks. In 
contrast, small metal droplets will have easily 
equilibrated with the surrounding silicate mate
rial in a magma ocean. This model, therefore, is 
often referred to as magma ocea~ differentia
tion. In this model any information on the dif
ferentiation of the impactor is iost and the 
chemical and isotopic composition of Earth's 
mantle reflects the conditions of core formation 
within the Earth. 

Whether core-,merging or magma ocean differ
entiation is more appropriate for a given colli
sion depends on the relative size of the two 
colliding bodies. Collisions in which the impac
tor is much smaller than the target result in 
vaporization of the impactor, in which case the 
impactor material can efficiently mix and 
homogenize within the magma ocean of the tar
get. What happens in detail during larger colli
sions, however, is less well understood. 
Hydrocode simulations of giant impacts (Canup 
& Asphaug, 2001) show that the cores of target 
and impactor merge rapidly, although more 
recent simulations indicate that some re-equili-

bration might occur (Canup, 2004). The problem 
is that these simulations currently provide a res
olution in the order of 100 km, whereas the 
length-scale on which chemical and isotopic re
equilibration occurs is probably in the order of 
centimeters (Stevenson, 1990; Rubie et al., 2007). 
Thus, the extent to which metal-silicate equili
bration occurred during large impacts is cur
rently not well understood. 

The W isotope evolution of the Earth's man
tle during accretion from pre-differentiated 
objects can be followed using a three-box model 
(Harper & Jacobsen, 1996; Halliday, 2004; Kleine 
et al., 2004a, 2009; Jacobsen, 2005; Nimmo & 
Agnor, 2006 ). In this model, the 182W / 184W ratio 
of Earth's mantle immediately after addition of 
a new object reflects the contribution of the fol
lowing three components: Earth's mantle prior 
to the impact (component 1 ); the impactor man
tle (component 2); and the impactor core (com
ponent 3). We will assume that a fraction 1-k of 
the impactor core is added directly to the target 
core without any prior re-equilibration with the 
Earth's mantle and will term k the equilibration 
factor (k = 1 indicates complete re-equilibra
tion). Let R; be the 182W/184W ratio of component 
i (i= 1,2,3), then R;, the 182W/184W ratio of the 
Earth's mantle immediately after the collision, 
is given by: 

R'-y1R1 +y2R2+ky3R3 
1- y1+y2+ky3 

(16) 

where yi= m;[WJ; is the total mass of W, mi is the 
mass and [WJ; is the W concentration in compo
nent i. R; for the three components at the time of 
the collision can be calculated using the decay 
equation of extinct short-lived nuclides and for 
the time interval between two collisions at t1 and 
t2 is given by: 

R (t ) = R (t) + ( 1soHfJ ( 182HfJ {1- -1.(<,-tll) (17) 
1 2 1 1 1s4W . 1soHf \: e 

1 1J 

The total mass of W in any of these three com
ponents depends on the mass of this component 
and its W concentration. The latter is given by 



Extinct Radionuclides 25 

the metal-silicate partltlon coefficient of W, 
which is defined as: 

(18) 

For the concentration of Win the mantle of a dif
ferentiated object, mass balance considerations 
and the definition of D give: 

[W] = [W]o 
m D+y(1-y) 

(19) 

where [W]
0 

is the W concentration of the bulk 
Earth (assumed to be chondritic) and y is the 
silicate mass fraction (in case of the Earth y = 
0.675). For the concentration of W in the core 
we have: 

(20) 

From the equations summarized above it is clear 
that a number of parameters need to be known to 
calculate the W isotope evolution of Earth's man
tle during protracted accretion with ckmcomitant 
core formation. Important parameters include: 
• Equilibration factor k; 
• D for Win both the Earth and the differentiated 
objects that are accreted to form the Earth; and 
• The 182Wjl84W ratios in impactor mantle and core 
at the time of their collision with proto-Earth. 
All these paramet-ers are unknown and for the 
sake of simplicity, we will first assume that the 
metal-silicate partition coefficient D for W 
remained constant throughout accretion and was 
the same in all bodies that accreted to the Earth. 
We will further assume that all the bodies the 
collided with the Earth underwent core-mantle 
differentiation at t

0
, the start ofthe solar system. 

Figure 1. 7 schematically illustrates the W iso
tope evolution of Earth's mantle in the two end
member models of metal-silicate equilibration 
during core formation. In the core-merging model 
(k = 0), metal-silicate re-equilibration does not 

occur and theW isotope composition of the tar
get's mantle immediately after the impact results 
from addition of impactor mantle material to the 
target's mantle. The resulting 182W/184W ratio will 
always be higher than chondritic because no core 
material (with subchondritic 182Wjl84W) is invol
ved in these mixing processes. In the case of core 
merging, no isotopic record of the collision was 
generated and the W isotope effect in the Earth's 
mantle would largely reflect the timing of core 
formation in the pre-merged objects. In contrast, 
small metal droplets in a magma ocean could have 
equilibrated efficiently with the surrounding 
molten silicates. If re-equilibration was complete 
(i.e. k = 1), this is equivalent to adding an undif
ferentiated object to the Earth's mantle, followed 
by metal segregation. In this case, the resulting W 
isotope effect reflects the rate of accretion and 
timing of core formation. 

A variety of growth curves for the Earth's accre
tion, calculated by assuming an exponentially 
decaying accretion rate and mean times of 
accretion, r of 11, 15, and 25Myr, are shown in 
Figure l.Sa. Using these growth curves and 
Equations (16) and (17), theW isotope evolution 
of the Earth's mantle can be calculated for each 
value of rand an assumed equilibration factor k. 
In Figure 1.8b, the W isotope evolution of Earth's 
mantle in the core merging and magma ocean dif
ferentiation models are compared for an assumed 
rof 11 Myr. Obviously these two models result in 
very different E182W values for the bulk silicate 
Earth. The core merging model predicts highly 
radiogenic 182W in the Earth's mantle, which 
would reflect the timescale of core formation in 
the objects that later were added to the Earth 
(assumed to be t

0
). The magma ocean differentia

tion model predicts much lower E 182W values for 
the Earth's mantle, a reflection of the high degree 
of metal-silicate equilibration and protracted 
timescale of accretion in this modeL Obviously, 
the magma ocean differentiation model is con
sistent with the observed W isotope composition 
of Earth's mantle, whilst the core merging model 
is not. Thus, some metal-silicate re-equilibration 
during accretion of the Earth from pre-differenti
ated objects clearly is required (Halliday et al., 



26 G. CARO AND T. KLEINE 

Mantle (2) 

Magma 
Ocean (1) 

Core merging 
(k=O) 

Time (Myr) 

Magma ocean differentiation 
(k=1) 

Target 

Time (Myr) 

Fig. 1.7 Schematic illustration of a three-box model for W isotope evolution during protracted accretion with con
comitant core formation. The components that contribute to the W isotope composition of Earth's mantle are 
labeled with 1, 2 and 3. TheW isotope effects in the two end-member models of core formation core merging and 
magma ocean differentiation- are shown schematically. Modified from Kleine et al. (2009). 

J 
1996; Halliday, 2004; Kleine et. al., 2004a, b; 
Jacobsen, 2005; Nimmo & Agnor, 2006). 

In Figure 1.8c, W isotope evolqtion curves of 
the Earth's mantle are shown for three different 
combinations of rand k. In all three models, the 
present-day W isotopic composition of the Earth's 
mantle {t:182W =0) can be reproduced, demonstrat
ing that determining the accretion rate of Earth {r) 
requires knowledge of the degree to which metal
silicate re-equilibration occurred {k). In Figure 
1.9a, the calculated ages of core formation are 
plotted as a function of the equilibration factor k. 
As is evident from this figure, the calculated core 
formation ages become younger with decreasing 
values of k {Halliday, 2004; Kleine et al., 2004b, 
2009). Metal-silicate re-equilibration during core 
formation results in a decrease of the 182W excess 
in Earth's mantle that had previously accumu
lated due to 182Hf decay, such that, for a given 

accretion rate, decreasing k values will result in 
an increasingly radiogenic W isotope composition 
of the Earth's mantle. to match the present
day W isotope composition of Earth's mantle, a 
decreasing degree of metal-silicate re-equilibra
tion must be accompanied by longer accretion 
timescales, as shown in Figure 1.9a. 

In all models discussed above, it was assumed 
that the Hf/W ratio in the mantle of the Earth, as 
well all other bodies added to the Earth, was con
stant and identical to the present-day Hf/W ratio 
of the Earth's mantle. This assumption is unlikely 
to be valid because the metal-silicate distribution 
coefficient for W depends on several parameters 
such as pressure, temperature, and particularly 
oxygen fugacity (Cottrell et al., 2009). These 
parameters are likely to have varied during 
accretion (Wade & Wood, 2005; Wood et al., 
2008). Unfortunately, there is currently little 
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Fig. 1.8 (a) Fractional mass of the Earth ~s a function of time assuming an exponentially decreasing accretion rate 
and a mean time of accretion of 11, 15 and 25Myr. (b) W isotope evolution of Earth's mantle calculated for the core 
merging and rpagma ocean differentiation models, assuming a mean time of accretion of 11 Myr. (c) W isotope evolu
tion of Earth's mantle calculated for the growth curves shown in (a) and assuming different equilibration factors 1<. 
The present-day W isotope composition of Earth's mantle (E182W = O) can be reproduced in all three scenarios, indicat
ing that r cannot be constrained independent of k. 

understanding of how W partitioning into the 
Earth's · core evolved as accretion proceeded. 
Most models predict that conditions were highly 
reducing during the early stages of accretion and 
became more oxidizing towards the end of accre
tion (Wade & Wood, 2005; Wood et al., 2008). 
However, other models argue for the opposite 
(Halliday, 2004; Rubie et al., 2004). In any event, 
the W partitioning into the core was clearly dif
ferent in different planetary bodies, as is evident 
from the large range in Hf/W ratios in planetary 
mantles. 

In Figure 1.9b, the calculated core formation 
ages are plotted against the Hf/W ratios in the 
impactor's mantles. In these calculations, a con
stant equilibration factor was assumed. This fig
ure reveals that for a given equilibration factor (in 
this case k = 0.5) decreasing Hf/W ratios in the 
impactor's mantles result in shorter calculated 
accretion rates of the Earth. The reason for this is 
that a mantle with a relatively low Hf/W ratio 
will never develop a large 182W excess, even if dif
ferentiation occurred very early. Consequently, 
for a given value of k, decreasing Hf/W ratios in 
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the impactor1s mantles led to less radiogenic 
182W jl84W in the Earth's mantle. Thus1 in such a 
model1 the present-day W isotope composition of 
the Earth's mantle is reproduced by assuming a 
shorter accretion timescale. 

In summary, determining the age of the 
Earth's core using the Hf-W system requires 
knowledge of the degree of isotopic equilibrium 
during metal-silicate separation, on the condi
tions of core formation in the growing Earth 
and its building blocks1 and on the timescale of 
core formation in the planetary embryos that 

1.0 

16 

Fig. 1.9 ja) Effect of incomplete metal
silicate equilibration on calculated core for
mation ages. Shown are results for the 
calculated value of rand for the time at which 
90% growth was achieved jb) Effect of varia
ble Hf/W ratios in the impactor's mantles on 
calculated core formation ages. In these cal
culations, it is assumed that the equilibration 
factor k was 0.5 throughout. After Kleine 
et al.j2004b; 2009). 

were accreted to form the Earth. However, these 
aspects are currently not well understood, mak
ing determining the exact age of the Earth's core 
difficult. In spite of these uncertainties, the 
Hf-W data allow some important and robust 
conclusions to be drawn: 
• The relatively small 182W excess found in the 
Earth's mantle compared to 182W anomalies found 
in eucrites and iron meteorites indicates a much 
more protracted timescale of accretion and core 
formation in the Earth compared to the smaller 
meteorite parent bodies; 
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• Core formation in the Earth can have termi
nated no earlier than -30Myr after solar system 
formation, as shown by its two-stage Hf-W 
model age; 
• Core formation in the Earth must have involved 
some re-equilibration of newly accreted metal 
within a terrestrial magma ocean, otherwise the 
182W excess of the Earth's mantle should be one 
order of magnitude higher than observed. 
However, as discussed above, the degree to which 
this re-equili.bration occurred is not known. 

Age of the Moon and accretion of the Earth 

The models discussed in the preceding section 
use the present-day Hf/W ratio and W isotope 
composition of the Earth's mantle as the sole cri
terion to infer the rate at which the Earth and its 
core formed. We have seen, however, that the 
outcome of these models depends on a number of 
assumptions regarding the process of accretion 
and the conditions of core formation. Obviously, 
additional constraints are required and these are 
provided from the age and isotopic composition 
of the Moon. The current paradigm for the forma
tion of the Moon is that a roughly Mars-sized 
body struck the proto-Earth at an oblique angle. 
Some fraction of the hot mantle of tl,le impactor 
spun off and re-accreted outside the Roche limit 
to form the present-day Moon. It· is widely 
believed that' the Moon-forming impact was the 
last major event in the Earth's accretion, occur
ring when the Earth was -90% accreted (Canup 
& Asphaug, 2001). This giant impact caused 
widespread melting of the Earth's mantle and led 
to the final stage of core formation in the Earth 
(Tonks & Melosh, 1993). Thus, dating the Moon 
provides an independent constraint on the times
cale of Earth's accretion and core formation and 
can be used to test the models discussed in the 
previous section. 

Lunar samples exhibit variable and large excess 
in 182W but these W isotope variations are the 
result of cosmogenic 182W production (see above). 
Once these cosmogenic effects are eliminated, 
all lunar samples have a W isotopic composition 
indistinguishable from that of the Earth's man-

tle (Touboul et al., 2007, 2009b). This similarity 
is unexpected and the currently favored explana
tion for this observation is the Earth and Moon 
isotopically equilibrated in the aftermath of the 
giant impact via a shared silicate atmosphere (cf. 
Pahlevan & Stevenson, 2007). As to whether this 
model is viable for equilibrating W isotopes is 
unclear and the alternative model to account for 
the similar W isotopes in the lunar and terres
trial mantles is that large parts of the Moon are 
derived from Earth's rather than from the impac
tor's mantle. This, however, is difficult to recon
cile with results from dynamical models of lunar 
origin, all of which predict that the Moon pre
dominantly consists of impactor mantle mate
rial (Canup, 2004). Whatever the correct 
interpretation, the indistinguishable W isotopic 
compositions of the lunar and terrestrial man
tles indicate that the Earth and Moon formed in 
isotopic equilibrium, because it is highly 
unlikely that the identical W isotopic composi
tions evolved by coincidence (Touboul et al., 
2007; Kleine et al., 2009). 

Since the lunar and terrestrial mantles have 
different Hf/W ratios, they should have different 
£ 182W values if formation of the Moon and the 
final stage of core formation in the Earth occurred 
whilst 182Hf was still extant. However, the bulk 
silicate Moon and Earth have indistinguishable 
W isotopic compositions, indicating that the 
Moon must have formed after 182Hf extinction 
(Touboul et al., 2007, 2009b). This is quantified 
in Figure 1.10, where the expected £182W differ
ence between the lunar and terrestrial mantles is 
plotted as a function of time. The current best 
estimates indicate that the bulk silicate Moon 
has an Hf/W ratio that is -50 % higher than that 
of the bulk silicate Earth (i.e. fH£/w- 0.5 in Figure 
1.10). In this case, the Moon must have formed 
>-50Myr after CAl formation. However, the 
uncertainties on the estimated Hf/W ratios are 
large and their more precise determination will 
be an important future task for better determin
ing the age of the Moon. 

The indistinguishable £ 182W values of the lunar 
and terrestrial mantles only provide a maximum 
age for the formation of the Moon. Its minimum 

--·--·------·····-- ---------------------------- -----
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age is by the oldest lunar rocks, which are 
the ferroan anorthosites that have Sm-Nd ages of 
4.46 ± 0.04Gyr (Carlson & Lugmair, 1988; 
Norman et al., 2003). These two age constraints 
combined indicate that the Moon formed between 
50 and 150Myr after CAl formation (Touboul 
et al., 2007, 2009b). 

The age of the Moon can be used to test some 
of the accretion and core formation models dis
cussed in the previous section. Uvo selected 
models, which resemble those of Hailiday (2008), 
are shown in Figure 1.11. These we,re calculated 
by assuming that 90% of the Earth accreted at an 
exponentially decreasing rate and that accretion 
terminated by ~ .. giant Moon-forming impact at 
-lOOMyr, adding the remaining 10% of the 
Earth's mass. The main difference between the 
two growth curves is that in the first model it is 
assumed that the Earth accreted at an exponen
tially decreasing rate until the giant impact at 
100Myr (Figure l.llaL whereas in the second 
model 90% of the Earth was accreted rapidly 
within the first -23 Myr ( r- 10 Myr), followed by 
an accretion hiatus until the final impact at 
lOOMyr l.llc). In both models, the 
present-day W isotopic composition of the bulk 
silicate Earth (E132W = 0) can be reproduced, but in 
the first model a low of metal-silicate 

70 80 

Fig. 1.10 Difference in e182W values 
between the lunar and terrestrial 
mantles as a function of time (after 
Kleine et al. 2009). 

equilibration is required (k 0.4), whereas in the 
latter full equilibration occurred during core for
mation (k = 1 ). 

These two exemplary models illustrate that 
variable scenarios can reproduce the observed 
present-day Hf-W systematics of the bulk silicate 
Earth and the age of the Moon. An important dif
ference between these two models is the degree to 
which metal-silicate equilibration occurred. 
Thus, constraining the degree of which equilib
rium was achieved during core formation may 
help to distinguish among different scenarios of 
the Earth's accretion. The abundances of 
siderophile elements in the Earth's mantle may be 
brought to bear on this issue. They are commonly 
explained by metal-silicate re-equilibration under 
high pressures and temperatures in a deep terres
trial magma ocean (Rubie et al., 2007; Wood et al., 
2008L in which case the model shown in Figures 
l.ll c and d might best represent the Earth's accre
tion and core formation. However, the effects of 
incomplete metal-silicate equilibration on 
siderophile element abundances in the growing 
Earth have yet not been investigated and it is cur
rently unclear as to whether they require full 
equilibration during core formation. Clearly, 
investigation of this issue will provide essential 
information on how the Earth accreted. 
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Fig. 1.11 (a) Growth curves for the Earth assuming an exponentially decreasing accretion rate for the first 90% of 
growth, which was terminated by a final Moon-forming impact at -100 Myr that added the remaining 10% of Earth's 
mass. (b) W isotope evolution of the bulkjilicate Earth for the growth curve shown in (a). The present-day E182W of 
the BSE is reproduced by assuming that only 40% of the incoming impactor cores equilibrated with the Earth's man
tle (k = 0.4). (c) Growth curve for the Earth assuming an initially rapid growth with a mean life r -10 Myr, followed 
by an accretion hiatus and a final Moon~fonning impact at -100Myr. (d) W isotope evolution of the bulk silicate 
Earth for the growth curve shown in (c) and complete metal-silicate equilibration during core formation (k = l). 
Modified after Halliday (2008). 

I46,I47SM-'42,I43ND CHRONOLOGY 
OF MANTLE-CRUST 

DIFFERENTIATION ON THE 
EARTH, MARS, AND THE MOON 

The 147Sm-143Nd record of Archean terranes 

Estimating the 143Nd evolution of the early Earth's 
mantle requires back-calculating the present-day 
143Nd/144Nd ratio of the most ancient Archean 
rocks at the time of their formation, in order to 

obtain their initial c:143Nd. If the rocks are juvenile 
(i.e. crystallized from mantle-derived melts), then 
their £ 143Ndinitial gives the isotopic composition of 
the mantle at the time of their extraction. 
A depleted mantle reservoir having evolved for a 
few hundred million years with high Sm/Nd will 
be characterized by positive £143Nd (Figure l.Sa), 
whilst a primitive mantle, assuming a chondri tic 
composition, should have £ 143Nd = 0. Therefore, the 
initial isotopic composition of juvenile Archean 
rocks should reflect the degree of depletion of the 



32 G. CARO AND T. KLEINE 

early Earth's mantle, and provide constraints~ on 
crustal evolution in the early Earth. 

The expression used for back-calculating the 
present-day 143Ndj1 44Nd composition of a rock 
sample (S) is given by: 

(
143NdJ (147Sm) 

1; 144Nd T,,+ l44Nd T,~ ) (21) 

where T, is age of the rock, is present day, and 
Tis time running backward from the origin of the 
solar system (TP 4.56 Gyr) to the present day. 
Estimating initial 143Nd/ 144Nd ratios thus requires 
the knowledge of the present-day isotopic 
(l4

•
3Ndf144Nd)Tp and chemical (147Smf!44Nd)Tp com

position of the rock, but also a precise estimate of 
its age The latter parameter is the most dif
ficult to obtain, as long-lived chronometric sys
tems in Archean rocks are often disturbed 
by tectono-metamorphic events. A classic method 
for simultaneously estimating T, and (143Ndjl44Nd)T, 
is to establish a whole-rock 147Sm-143Nd isochron 
from a series of cogenetic samples (Moorbath 
et al., 1997). In many cases, however, this method 
yields imprecise results due to insufficient spread 
in Sm/Nd, minor disturbance of the Sm-Nd 
system due to metamorphism, or mixing of the 
juvenile magmas with pre-existing crustal com
ponents. An alternative method is to independ
ently estimate T, using U-Pb datirlg of zircon 
grains (Bennett et al., 1993). This has the advan
tage that U-Pb zircon ages are usually precise 
within a few million years, whilst whole-rock 
Sm-Nd isochrons have uncertainties of 50Myr or 
more. This method, however, is problematic 
because the U-Pb age of the zircons and the 
Sm-Nd age of their host rock are not always 
identicaL For example, the Acasta (Northern 
Canada) and Amitsoq gneisses (Western 
GreenlandL dated at 3.6 to 4.0Gyr and 3.73 to 
3.87Gyr using U-Pb in zircon, have younger 
Sm-Nd ages of 3.37 and 3.65 Gyr, respectively. 
Back-calculating initial 143Ndf144Nd compositions 
at the zircon age thus yields highly heterogene
ous c143Ndinitilll! which can be incorrectly inter
preted as reflecting mantle heterogeneity (Bowring 
& Housh, 1995; Bennett et al., 1993). 

Despite the difficulties in reconstructing a 
reliable 147Sm- 148Nd record for the oldest terres
trial rocks, it is now well established that 
Archean terranes have initial 143Ndfl44Nd ratios 
more radiogenic than predicted for a primitive 
mantle of chondritic composition (Shirey & 
Hanson, 1986; Bennett, 2003) (Figure 1.12). 
These radiogenic signatures require that the 
most ancient crustal rocks were extracted from 
a mantle reservoir having evolved for several 
hundred million years with an Sm/Nd ratio 5 to 
10% higher than chondritic, which has been 
considered as evidence that a long-lived crust 
formed very (>3.8 Gyr) in the history of the 
Earth (Armstrong, 1981). Ancient cratons, how
ever, represent <5% of the total mass of the 
present-day continents (Condie, 2000) (Figure 
1.12) and this is by far insufficient to account for 

mantle depletion in the early 
Archean. It was thus suggested that Hadean con
tinents had been recycled over shorter times
cales (Armstrong, 1981; Jacobsen, 1988), or that 
the earliest crust was a mafic/ultramafic reser
voir which, by to the modern oceanic 
crust, did not contribute significantly to the 
Archean sedimentary mass (Chase & Patchett, 
1988; Galer & Goldstein, 1991}. 

Extensive efforts to model the 143Nd evolution 
of the Archean mantle showed that the Archean 
147Sm-143Nd record is consistent with a wide 
range of evolution scenarios for the mantle-crust 
system (Armstrong, 1981; Chase & Patchett, 
1988; Jacobsen, 1988; Galer & Goldstein, 1991; 
Boyet & Carlson, 2006; Caro et al., 2006). The 
radiogenic £ 143Nd signature of +l to +3 £-units 
characterizing the early Archean mantle could, 
for example, result from very early (4.5 Gyr) 
depletion, due to magma ocean crystallization 
(Caro et al., 2005), or from later Sm/Nd fraction
ation from continuous crustal forma
tion during the Hadean (Jacobsen, 1988). This 
ambiguity is due to the very long half-life of 
147Sm, which limits the chronological resolution 
of this system (Figure l.Sa), and also to the lack 
of an isotopic record prior to 3.8 Gyr. In addition, 
the interpretation of 147Sm-143Nd data is tied to 
the assumption that the bulk silicate Earth has a 
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perfectly chondritic composition. However, pos
itive £ 143Ndinitial may also reflect a slightly non
chondritic Sm/Nd ratio for the bulk Earth, in 
which case no early crustal extraction would be 
needed to account for the seemingly depleted 
signature of the Archean mantle. Thus, whilst a 
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Fig. 1.12 (a) Histogram showing 
the age distribution of continental 
terranes. This distribution is char
acterized by three peaks of growth 
centered at 2.7, 1.9 and 1.2Gyr 
and by a negligible amount of 
pre-3 Gyr crust. Reprinted from 
"Tectonophysics", 322: 1-2, Kent 
C. Condie, Episodic continental 
growth models: afterthoughts and 
extension, 2000, with permission 
from Elsevier. (b) c143Nd evolution 
of the upper mantle estimated from 
the isotopic composition of mafic 
and ultramafic rocks through time. 
Positive c143Nd,.,,,,,1 compositions 
are observed as far back as 3.8Gyr, 
indicating that the mantle has 
evolved for most of its history with 
an Sm/Nd ratio at least 4 to 6% 
higher than chondritic, which can
not be explained by extraction of 
the present-day continents. The 
more radiogenic c143Nd ... 

1 
recor

ded by Proterozoic juv~~ile rocks 
and modern mid-ocean ridge basalts 
indicates that the Proterozoic upper 
mantle was more depleted than the 
Archean mantle. This additional 
depletion can be explained by 
extraction and stabilization of large 
continental masses in the late 
Archean and Proterozoic. 

realistic model of early mantle-crust evolution 
should always be consistent with the 147Sm-143Nd 
record, the chronology and mechanisms of early 
mantle depletion cannot be unambiguously con
strained from the observed £ 143Ndinitial in the 
Archean mantle. 
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The terrestrial 146Sm-142Nd record 

Because of its short half-life, the 146Sm-142Nd cl1Io
nometer was expected to provide more precise 
chronological constraints on early mantle-crust 
evolution. It was also anticipated that the 142Nd 
signature of early Archean rocks would be less 
sensitive to metamorphic disturbance than their 
1 ~Ndf!44Nd signature, owing to the negligible 
production rate of 142Nd after 4.2Gyr. Conse
quently, the first searches for 142Nd anomalies 
focused on early Archean rocks from West 
Greenland characterized by large positive 
c143Nd1nitial (Goldstein &. Galer, 1992; Harper &. 
Jacobsen, 1992; Sharma et al., 1996). However, 
these first attempts were seriously hampered by 
the limited precision achievable using thermal
ionization mass spectrometry (i.e. 2cr~20 ppm). 
Harper&. Jacobsen (1992) first reported a +33ppm 
anomaly in a metasediment sample from the 
3 .8-Gyr-oldisua Greenstone Belt (West Greenland) 
but this discovery was met with skepticism as an 
in-depth investigation of the precision limits of 
thermal ionization mass spectrometers suggested 
that the precision quoted by the authors was per
haps overestimated (Sharma et al., 1996). In addi
tion, several studies failed to detect 142Nd 
anomalies in early Archean rocks, including sam
ples from the !sua Greenstone Belt (Goldstein &. 
Galer, 1992; McCulloch &. Berfhett, 1993; 
Regelous &.,Collerson, 1996). . 

With the advent of more predse thermal
ionization mass spectrometers in the last decade, 
it became possible to achieve precisions better 
than Sppm (2cr)",on the 142Ndjl44Nd ratio (Caro 
et al., 2003, 2006). This led to the discovery of 
ubiquitous 142Nd ap.omalies in a series of 3. 75-
Gyr-old metasediments from the Isua Greenstone 
belt (Caro et al., 2003). Similar effects were also 
found in Isua metabasalts and in virtually all 3.6-
to 3.8-Gyr-old gneisses from the West Greenland 
craton (Caro et al., 2006). These positive anoma
lies (Figure 1.13) typically ranging from 5 to 
20ppm are thus significantly smaller than the 30 
to 40ppm effects initially reported by Harper & 
Jacobsen ( 1992) and later on by Boyet et al. (2004) 
using ICP-MS technique. However, the magni-

tude of the effects reported by Caro et al. (2003, 
2006) was confirmed by Boyet &. Carlson {2005) 
and Bennett et al. (2007). In addition, Bennett 
et al. (2007) reported hints of a positive 142Nd 
anomaly in Early Archean rocks from the Narryer 
gneiss complex (Western Australia). 

There is no ambiguity in the presence of posi
tive 142Nd effects in West Greenland rocks. This 
depleted signature is consistent with the radio-

c143Nd1n1<iai characterizing these rocks 
(Figure l.l2b!t and indicates that this ancient 
craton was extracted from a reservoir depleted 
by crustal extraction processes >4.2Gyr ago. As 
illustrated in Figure 1.14, this chronology can be 
further refined using coupled 146,147Sm-142)

43Nd 
systematics (see the section on 'Coupled 146Sm-
142Nd and 147Sm-143Nd chronometry'). 147Sm-143Nd 
investigations of the metasedimentary samples 
studied by Caro et al. (2003) yielded a whole
rock isochron age of 3.75Gyr (Moorbath et al., 
1997), consistent with U-Pb zircon ages from 
associated sedimentary formations (3.7-3.8 
This was considered as evidence that 147Sm-143Nd 
systematics in these samples had not been sig
nificantly disturbed by metamorphism on a 
whole-rock scale. The c143Ndinitiai of +1.9 ± 0.6 
£-units derived from this isochron was thus con
sidered as a reliable estimate of the signature of 
mantle depletion characterizing the early 
Archean mantle. Application of coupled 146,147Sm-
142·143Nd chronometry using c143Nd = +1.9 E:-units 
and ~:: 142Nd = 7 to IS ppm yield an age of differen
tiationof<lOOMyr(i.e. TJ<4.45Gyr; Figure 1.14) 
and this age range can be narrowed to 30 to 
lOOMyr if we assume that the extraction of a 
long-lived crust must postdate core formation. 
The presence of positive 142Nd effects in the early 
Archean mantle thus represents strong evidence 
that a crustal reservoir formed at a very early 
stage of the Earth's history, perhaps immediately 
following the end of terrestrial accretion and 
solidification of the terrestrial magma ocean 
(Caro et al., 2005). Together with constraints 
from Hf-W (see the section on 'Hf-W chronology 
of the accretion and early differentiation of the 
Earth and Moon') and Pu-I-Xe chronometers 
(Staudacher &. Allegre, 1982; Ozima &. Podosek, 
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Fig. 1.13 Compilation of high-precision '~Nd measurements in (a) Archean and (b) modem or recent mantle-derived 
rocks. The homogeneity of the modern mantle suggests that heterogeneities generated in the Hadean mantle have 
been efficiently re~nixed by mantle convection. A remnant of this ancient crust may have been preserved within 
early Archean cratonic roots, as suggested by negative 142Nd effects observed in the NSB greenstone belt and in 
younger rocks from 'the Khariar craton (O'Neil et al., 2008; Upadhyay et 2009). 

1999), these results indicate that the Earth was 
completely differentiated with a core, an atmos
phere and long-lived silicate reservoirs <lOOMyr 
after formation of the solar system. 

146Sm-142Nd constraints on the evolution 
of the Hadean crust 

A proto-crust formed >4.45 Gyr ago would have 
developed a negative 142Nd anomaly of 0.5 to l 

£-units, depending on its exact age and composi
tion. Thus, even a moderate contribution of this 
ancient crustal material to modern magmatism 
would result in negative 142Nd effects, which 
should be detectable at the level of precision cur
rently reached by mass spectrometers (Bourdon 
et al.

1 
2008). However, negative 142Nd anomalies 

have so far only been identified in early Archean 
rocks from the Nuvvuagittuq Supracrustal Belt 
(3.8 Gyr, Northern Canada) and in Proterozoic 
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Fig. 1.14 Calculation of a model age of crustal extrac
tion using coupl•cd 142Nd- 143Nd systematics in eariy 
Archean rocks from West Greenland. This model age 
was estimated by assuming a super-chondritic 
147Smjl44Nd 0.2082 for the BSE the section on 
1146Sm-142Nd constraints on the evolution of the Hadean 
crust'). (50-200 Myr) would 
be obtained by assuming differentiation from a perfectly 
chondritic bulk siLicate Earth (Caw et 2006). 

the Archean Khariar cra-
ton India) (O'Neil 2008i 
Upadhyay et al., 2009). If 
liminary results would indicate 
crust was reworked within early Archean ter
ranes, where it was locally preserved from ero
sion and recycling. There is currently no evidence 
that such ancient crustal components were also 
incorporated with~n younger cratons, or that 
Hadea,J. terranes represent a reservoir 
on a global scale. Analyses of modern mantle
derived rocks (OIBs, kimberhtes, MORBs, LIPs) 
have also failed to provide for a pre-
served Hadean crustal in the mantle 
(Figure Ll3aL indicating that mantle heterogene-

is not inherited from differentiation 
processes. Overall, these observations suggest 
that most of the Hadean crust was recycled and 
remixed within the mantle prior to the major 

sodes of crustal growth, malting it unlikely that a 
large Hadean cmstal reservoir was until 
the present day. 

As 142Nd anomalies can only be generated 
prior to 4.2 their preservation in the early 
Archean mantle depends on the rate at which 
the Hadean crust was recycled and remixed in 
the EDM .. Based on this observation, Caro et al. 
(2006)presented a simplified mantle-crust model 
aimed at providing a first-order estimate of the 
lifetime of the Hadean crust. The central postu
late of this model is that the anomalies 
measured in West 
sentative of the 
sent the diluted 

are repre
Archean mantle and repre

signature of a reservoir 
ago. In contrast to the 

two-stage model in previous ;,cc,cxc/u" 

the proto-crust recycled and 
continuously volume of 
juvenile crust mantle 
material is thus remixed with non-radiogenic 
crustal components at a rate that depends on the 
residence time of Nd in the crustal reservoir (i.e. 
the lifetime of the crust). For the of sim-

it was assumed that no "'-"·'"'""'''"c 
tal growth occurs during this 
ma$.S of crust and its chemical composition 
remain constant_ The mass transport equation 
for this model thus reads: 

dt dt 
(22) 

where the subscripts m and c stand for mantle 
and crust, respectively. M. is the mass of the res-
ervoir i and is the ma~s flux from reservoir i 
towards j. Equations describing the iso-

evolution of the mantle-crust system in this 
simple two-box model can be found in Albarede 
(1995) and Caro et al. {2006). 

Figure 1.16 shows the possible isotopic evolu
tion curves for the early crust and its comple
mentary mantle as a function of the 
lifetime of the crustal reservoir Rc. The results 
are dependant on crustal composition, and we 
have therefore contrasted two different scenarios 
!basaltic vs continental crust), whose parameters 
are summarized in Table 1.3. Several constraints 
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Fig. 1.15 A simplified two-box model describing a con-

tinuously mantle-crust system. 

on Hadean crustal dynamics can be obtained from 

Figure 1.16: it is unlikely that the Hadean 
crust had a lifetime shorter than 40llMyr. In this 

easel 14lNd anomalies in the mantle would be 

erased prior to· the formation of early Archean 

crarons, leaving 'virtually no residual imprint of 

the earliest crust in the 3.6 to 3.8 Gyr mantle. As 

shown in Figure 1.16, both the basaltic and conti

nental crust models provide a satisfying fit to the 

e1
'
2Nd composition of the Archean mantle for 

nificantly crustal residence times. In the 

basaltic crust model, a best fit to the early Archean 

mantle is obtained for values of R between 700 

and l,SOOMyr. This valueisessentiillyunchanged 

if we consider the continental crust model 
A difference between these two 

case however, lies in the preservation 
of 142Nd heterogeneities in the mantle-crust sys-

tem. In the basaltic crust model, 142Nd anomalies 
in the mantle and crust become negligible after 

3.5Gyr. Only the Archean terranes 
3.8 GyrJ would then be to show 142Nd 

effects. In the continental crust model, 142Nd 

anomalies are preserved over a significantly 

period of time and could be found in rocks 

as young as 2.5 Gyr. TI1ere is currently not enough 

data to decide the matter. However, the study of 

late Archean Greenstone Belts could provide 

important information regarding the lifetime and 

composition of the early Earth's crust. 
There is currently a very limited 1''~Nd database 

for late Archean only including two 

komatiites and one carbonatite (Figure 1 

which do not show any 142Nd effect at the 
level of {Boyel & Carlson, 2006). 

Hr'='p",," further examination of 146Sm-142Nd sys

tematics in Archean samples is needed in order to 

better constrain the evolution and composition 

of the terrestrial protocrust. If confirmed, the lack 

of 142Nd heterogeneities in the late Archean man

tle-crust system could indicate that the Hadean 

proto-crust was more mafic than the l-'1\'""''nt·u"' Y 

continents, was characterized a shorter 
lifetime I.l6a). This Hadean proto-crust 

woqld have been recycled prior 3 Gyr, 

thereby making a marginal contribution to 
the oldest continental cratons. 

14oSm.t42Nd systematics of chondrites 

studies of 142•
143Nd sy~lte.m<ttH:s 

assump

tions regarding the bulk composition of the ter

restrial planets. It· was first assumed that these 

planets have chondritic Sm/Nd and 
143Ndfl44Nd ratios (i.e. the CHUR reference 

parameters l.l} ). This paradigm 

follows from the observation that chondrites 

have a homogeneous ratio (Jacobsen & 

Wasserburg, 1984; Patchett et al., 2004; Carlson 

et al., 2007}, which is also 
(within± 10"/o} from the composition of the solar 

photosphere (Asplund et al., 2006). in turn, 

suggests that high-T processes that took place in 

the solar nebula had a effect on the REE 
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Fig. 1.16 c142Nd evolution of crustal and mantle reservoirs corresponding to the two-box model schematized in 
Figure 1.15. The curves are parameterized as a function of the crustal residence time (RJ The model was investi
gated for different crustal composition models: (a) basaltic crust and (b) continental crust. Data from Caro et al. 
(2006) and Bennett et al. (2007) 

Table 1.3 Parameters used for modeling the 146Sm- 142Nd 
evolution of the early depleted mantle and crust. The 
Aggregate melt fraction (F) and partition jOefficients 
(DJ for the continental crust model are from Hofmann 
(1988) and those for the basaltic crust mgdel are from 
Chase & Patchett (1988). Using these parameters, one 
can determine the mass fraction of Nd contained in 
the crustal reservoir (xc) and the concentration of 
Sm and Nd in the crust and depleted mantle. The 
corresponding isotopic evolution of 142Nd/144Nd in the 
mantle-<;rust system are shown in Figure 1.16. 

Continental Basaltic crust 
crust model model 

F 1.6% 5% 
osm 0.09 0.05 
QNd 0.045 0.03 
X c 27% 64% 
[Nd], (ppm) 20 15 
[Nd]m (ppm) 0.9 0.5 
(
147Sm/144Nd), 0.117 0.1583 

composition of the chondrite parent bodies and, 
by extension, on the composition of the terres
trial planets (Allegre et al., 1979; DePaolo & 
Wasserburg, 1979; DePaolo, 1980). A second 
assumption is that the homogeneous 142Nd com
position of the modern mantle and crust is repre
sentative of that of the bulk silicate Earth, from 
which it follows that early differentiated crustal 
and mantle reservoirs must have been extensively 
remixed over the past 4.5 Gyr (see previous sec
tion). These assumptions, however, were recently 
challenged by high precision studies of meteorites, 
showing that the chondri tic 142Ndjl44Nd composi
tion differ from that of all terrestrial samples by 
-20ppm (Figure 1.17a) (Boyet & Carlson, 2005; 
Andreasen & Sharma, 2006; Carlson et al., 2007). 
In detail, ordinary chondrites are characterized by 
a homogeneous composition of -18 ± 5 ppm (2a, 1 
data excluded), whilst carbonaceous chondrites 
have more negative and also more heterogeneous 
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Fig. 1.17 Histogram showing the 142Nd 
composition of ordinary and carbona
ceous chondrites, normalized to a ter
restrial standard. Ordinary chondrites 
display a homogeneous composition 
of -18 ± 5 ppm (2cr), whilst carbona
ceous chondrites have more negative 
and also more heterogeneous signa
tures. Data from Boyet & Carlson 
(2005), Andreasen & Sharma (2006) 
and Carlson et al. (2007). 

compositions ranging between -20 and -45 ppm. 
The difference between 0- and C-chondrites can 
be explained by a heterogeneous distribution of 
142Nd and 146Sm in the early solar system, result
ing from incomplete mixing of nucleosynthetic 
products in the solar nebula (Andreasen & 

Sharma, 2006; Ranen & Jacobsen, 2006; Carlson 
et al., 2007). This is best illustrated hy the anom
alous isotopic abundances observed for heavy ele
ments such as Ba, Os, and Sm in C-chondrites 
(Carlson et al., 2007; Dauphas et al., 2002; Yin 
et al., 2002a; Brandon et al., 2005; Andreasen & 
Sharma, 2006; R~nen & Jacobsen, 2006; Reisberg 
et al., 2009L which define a patterns similar to 
those observed in 'FUN' inclusion EK-141 (see 
review by Birck (2004)). In contrast, ordinary 
chondrites show normal isotopic abundances for 
these elements, making it more difficult to argue 
for a nucleosynthetic origin of the negative 142Nd 
anomalies recorded in these meteorites. It was 
thus proposed that the 142Nd excess measured in 
all terrestrial samples compared with ordinary 
chondrites result from radioactive decay in sili
cate reservoirs with non-chondritic Sm/Nd ratio, 
whilst the more negative and more hetero
geneous compositions observed in carbonaceous 

chondrites also reflect the incorporation of 
variable amounts of nucleosynthetic material 
(Andreasen & Sharma, 2006; Carlson et al., 2007). 
An outstanding question is thus whether the 
non-chondritic 142Nd composition of terrestrial 
samples is representative of the bulk Earth com
position or only of 'accessible' terrestrial reser
voirs (i.e. the uppermost mantle and crust). In the 
latter scenario, a reservoir 'hidden' in the lower 
mantle with sub-chondritic £ 142Nd composition 
would be needed to balance the super-chondritic 
signature of all accessible silicate reservoirs. In 
contrast, a non-chondritic 142Ndjl44Nd signature 
for the bulk Earth would obviate the need for a 
hidden reservoir but would contradict the long
held view that the terrestrial planets have per
fectly chondritic abundances of refractory 
lithophile elements. 

The hidden reservoir model 

The hidden reservoir model was first proposed by 
Boyet & Carlson (2005). In this model, the authors 
postulate that the bulk Earth has a perfectly 
chondritic Sm/Nd and 142Nd/144Nd composition. 
The more radiogenic 142Ndjl44Nd signature of the 
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Fig. 1.18 Schematic illustration of the hidden reservoir model and the corresponding £ 143Nd evolution of the man
tle-crust system. The first stage of differentiation corresponds to the formation of the hidden reservoir and the EDM. 
This generates heterogeneities in 142•143Nd, with the EDM evolving towards £ 143Nd signatures more radiogenic than 
the chondri tic primitive mantle. A second stage of mantle depletion occurs when the continental crust is extracted 
from the EDM. This further depletes the EDM in incompatible elements, creating a more depleted mantle reservoir 
(OM= MORB source). As a consequence, the e143Nd composition of the EDM is necessarily lower than that of the 
upper mantle. 

Earth's 'accessible' mantle and crust must then 
be balanced by an enriched complementary reser
voir with sub-chondritic Sm/Nd and 142Ndfl44Nd 
ratios (Figure 1.18). In order to satisfy 146Sm-142Nd 
systematics, this hidden reservoir must have 
formed early (>4.5 Gyr) and remained perfectly 
isolated from mantle convection sin~e its forma
tion. The most plausible location for. storing such 
a large reservoir is the D" layer (Tolstikhin et al., 
2006) and it was therefore suggested that this 
hypothetical reservoir could represent a recycled 
crustal component (Boyet & Carlson, 2005, 2006) 
or a basal magma ocean (Labrosse et al., 2007), 
which remained stored at the core-mantle bound
ary (CMB) owing to a large density contrast with 
the surrounding mantle. This hypothesis is sup
ported by the presence of positive 142Nd anomaly 
in early Archean rocks (see previous section), 
demonstrating the early formation and recycling 
of a Hadean protocrust (Caro et al., 2003, 2006; 
Boyet & Carlson, 2005). It was also shown that a 
dense basaltic crust recycled in the deep mantle 
would be gravitationally stable, although it is 
doubtful that such a reservoir. would remain 

unsampled by mantle convection (Davaille et al., 
2002; Bourdon & Caro, 2007). 

A major obstacle to the hidden reservoir model 
lies in the difficulty of establishing a plausible 
chronology for the formation of this reservoir 
(Bourdon et al., 2008). This chronology must sat
isfy coupled 146

•
147Sm-142

•143Nd systematics but 
should also be consistent with the constraints 
derived from 182Hf-l82W on the timescale of terres
trial accretion and core formation (see the section 
on 'Hf-W chronology of the accretion and early 
differentiation of the Earth and Moon'). It is evi
dent that the isolation of a long-lived silicate res
ervoir at the CMB requires that core formation 
was complete, which essentially precludes its for
mation prior to 30 to 35 Myr. It is also unlikely 
that an early crust could survive the giant impact, 
and this would delay the formation of long-lived 
crustal reservoirs on the Earth by >50Myr after 
formation of the solar system (Touboul et al., 
2007). An additional constraint is that the EDM 
should have lower Sm/Nd and 143Nd/144Nd ratios 
than the modern depleted mantle (e143Nd = +9 
£-units (Salters & Stracke, 2004) ), as the latter was 
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further depleted by continental growth 
1.18b). In theory, 142Nd anomalies can be gener
ated until ~4.2 Gyr. However, late formation of 
the hidden reservoir would require a large 
of Sm/Nd fractionation, which in turn would gen
erate c:143Nd value in the mantle higher than 
observed in the modern MORE source (Eoyet & 
Carlson, 2005). This constraint puts 
limits on the minimum age of a hidden reservoir. 

A major difficulty in establishing an accurate 
chronology for the hidden reservoir is to estimate 
a realistic c:143Nd composition for the EDM. Eoyet 
& Carlson (2005, 2006) estimated a model age of 
4.53 ± 0.03 Myr by conservatively assuming that 
the EDM composition is identical or lower than 
that of the MORE source. However, Bourdon 
et al. (2008) pointed out that the effect of conti
nental extraction cannot be neglected, as it would 
further increase the c:143Nd composition of the 
upper mantle. A more realistic age determination 
for the hidden reservoir can be obtained in the 
context of the 4-reservoirs model illustrated in 
Figure 1.18. The composition of the EDM can be 
obtained from the following mass balance 
relationship: 

(23) 

where: 

(24) 

Mcc is the mass of the present-day continental 
crust (Mcc = 2.27 1022 kg), whilst Mdm is the mass 
of mantle depleted by extraction of the continen
tal crust. [Nd],, and [Ndleam are the Nd concentra
tion in the continental crust ([Nd]cc 20ppm; 
Rudnick & Fountain, 1995) and the early depleted 
mantle (EDM). As illustrated in Figure 1.18, the 
early depleted mantle represents a residual man
tle after extraction of the hidden reservoir, whilst 
the modern depleted mantle (DM) is formed by 
extraction of the continental crust from the EDM. 
As a consequence, the DM is more depleted and 
has higher 147Sm/144Nd and 143Ndjl44Nd ratios than 

the EDM. The mass of the DM is unconstrained 
but a conservative model can be established by 
assuming that the continental crust was extracted 
from the whole mantle (i.e. Mdm -Medm -Mbs.), 
which minimizes its impact on the mantle e143Nd 
composition. The Nd concentration in the EDM 
is also unknown but its value is necessarily lower 
than that of the primitive mantle (i.e. [Nd]edm 
<1.25ppm). Using these very conservative param
eters, the maximum 143Ndf144Nd composition of 
the early depleted mantle is estimated to be 
<0.5130\i.e. E143Nd<7 E-units)for[Nd]edm <L25ppm 
and decreases to <6.5 e-units for a more realistic 
Nd concentration in the EDM of 1 ppm 
(Figure 1.19). The minimum age for the hidden 
reservoir can then be estimated to 4.57 ± 0.03Gyr 
using coupled 142·, 143Nd chronometry (Figure 1.20) 
Thus, if we assume that the isotopic shift between 
terrestrial and meteoritic samples result from 
radioactive decay, then the Sm/Nd fractionation 
responsible for this isotopic effect must have 
taken place within a few million years after for
mation of the solar system. A corollary is that the 
hypothetical 'missing' reservoir with subchon
dritic Sm/Nd and 142Nd/144Nd ratios would need 
to be older than the core, making it unlikely to 
result from an internal differentiation process 
such as magma ocean crystallization and/or crus
tal formation. 

The 142Nd results obtained from meteorites 
thus open a new perspective, namely that the 
REE (and by extension, the refractory elements) 
experienced minor but significant fractionation 
in the accretion disk, which resulted in the 
observed non-chondritic 142Nd composition for 
the bulk Earth. Of course, this would not pre
clude the preservation of Hadean crust in the 
deep mantle or in ancient continental roots, but 
would relax the constraints on the age and size of 
such residual reservoir, making it easier to 
account for the homogeneous composition of the 
modem mantle. Thus, whilst 146Sm-142Nd system
atics has been classically interpreted in terms of 
internal differentiation processes, the possibility 
that the terrestrial planets accreted from material 
that was not perfectly chondri tic for Sm/Nd must 
also be considered. 
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Fig. 1.19 Nd isotope mass balance showing possible 
zl43Nd compositions for the depleted mantle 
(EDM) complementary to the hidden reservoir. This 
estimate depends on: i) the Nd concentration in the 
EDM after extraction of the hidden reservoir; and ii) the 
mass fraction of depleted mantle (i.e. MORB source) 
complementary to the continental crust. Both parameters 
are unconstrained but a maximum value for £ 143NdEDM 
can be obtained that the continental crust 
was extracted from the whole mantle (i.e. 
and that the Nd concentration in the EDM is lower 
than that of the primitive mantle (Ndedm<l.25ppm). 
Using these conservative parameters, a maximum 
E

143Ndedm of +7 is obtained. J 

The non-chondri tic Earth model 

The non-chondritic Earth hypothesis had ini
tially been discarded based on the generally 
accepted view that refractory lithophile elements 
are present in perfectly chondri tic abundances in 
the terrestrial planets. Whilst this is probably a 
correct approximation within ±10%, the homo
geneity of bulk chondrites should not obscure 
the fact that the REE did experience substantial 
fractionation in the solar nebula. The constitu
tive components of chondrites (chondrules, CAis) 
show fractionated REE pattern (Figure 1.21) 
(Ireland et al., 1988; Krestina et al., 1997, 1999; 
Amelin &. Rotenberg, 2004), indicating that the 
material incorporated in chondrite parent bodies 

was not perfectly homogeneous for Sm/Nd. This 
also demonstrates that the nature of 
the REE is by no means evidence that these ele
ments did not fractionate in the solar nebula. It 
should also be noted that the terrestrial planets 
did not accrete from chondri tic material but from 
differentiated planetesimals (Chambers, 2001 ). 
Thus, very early fractionation of refractory 
lithophile elements could have been produced 
during the first million years by preferential loss 
of the planetesimal's crusts during impacts 
(O'Neill &. Palme, 2008) or, alternatively, by 
explosive volcanism (Warren, 2008), and would 
thus not necessarily involve volatility-controlled 
processes. 

The magnitude of Sm/Nd fractionation needed 
to produce an 18 ± 5 ppm 142Nd excess can be esti
matedfrom Equation (11). This yields a 147Smfl44Nd 
value of 0.209 ± 3, which corresponds to a 4 to 
7% fractionation compared with the chondritic 
value. In contrast, the total range of 147Smjl44Nd 
measured in bulk chondrites is -4% with most 
values ranging between 0.19 and 0.20 (Jacobsen&. 
Wasserburg, 1984; Patchett et al., 2004; Boyet &. 
Carlson, 2005; Carlson et al., 2007). The Sm/Nd 
composition required to generate an 18 ppm 
excess in all terrestrial samples is therefore 
slightly higher than the average chondritic com
position but remain well within the fractiona
tion range observed in chondrite components 

1.21). 
A critical test for the non-chondritic Earth 

model comes from the examination of 142Nd sys
tematics in lunar and Martian samples. It was 
indeed expected that if the Earth inherited a non
chondritic Sm/Nd composition during its accre
tion, then the Moon (and possibly Mars) may also 
be characterized by superchondritic Sm/Nd and 
142Nd/144Nd ratios. If, on the other hand, these 
planets formed from chondritic material, then 
planetary isochrons for Mars and the Moon should 
have a common intersect corresponding to the 
chondri tic value (i.e. s142Nd=-18ppm, i47Smf144Nd 

0.1966). As illustrated in Figures L22a and b, 
lunar and Martian define correlations in 
an s142Nd vs Sm/Nd diagram. If interpreted as an 
isochron relationship, the array defined by 
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Fig. 1.21 Histogram showing the distribution of Sm/ 
Nd ratios in bulk chondrites and chondrules. Note that 
chondrule composition is systematically biased towards 
higher Sm/Nd values. A hypothetical bulk Earth com
position consistent with the observed 142Nd excess of 
+ 18 ppm is shown for comparison. (Jacobsen &. 
Wasserburg, 1984; Krestina et al., 1997, 1999; Amelin &. 
Rotenberg, 2004; Patchett et al., 2004; Carlson et 
2007). 
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Fig. 1.20 Estimation of the age of 
the hidden reservoir using coupled 
I46,147Sm- 142•143Nd systematics. The 
EDM is constrained to have an €142Nd 
excess of 18 ± Sppm compared with 
ordinary chondrites. The 143Nd com
position of the EDM is necessarily 
lower than +7 €-units (Figure 1.19}. 
This constrains the youngest possible 
age for the hidden reservoir to 4.57 ± 

0.03Gyr. 

Shergottites yields an age of differentiation for 
the Martian mantle of 4.52 ± 0.02 Gyr (Figure 
I .22a) (Foley et al., 2005a; Debaille et al., 2007; 
Caro et al., 2008). This is consistent with the 
presence of small r:}82W anomalies in Martian 
meteorites, as these can only be produced prior to 
4.5 Gyr. 142Nd systematics of lunar samples 
and their chronological significance is more 
ambiguous and is currently a matter of debate. 
The first attempt to study the 142Nd composition 
of lunar basalts showed a well-defined correlation 
which, if interpreted as an isochron, would yield 
an age of differentiation of 4.33 ± 0.04Gyr for the 
lunar magma ocean (Nyquist et aL, 1995; 
Rankenburg et al., 2006; Boyet & Carlson, 2007) 
(Figure l.22b). This general trend has been con
firmed using higher precision mass spectrometric 
techniques (Rankenburg et al., 2006; Boyet & 

Carlson, 2007; Touboul et al., 2009a). However, 
the chronological significance of this array has 
been put into question (Boyet & Carlson, 2007), 
as the estimated age of differentiation postdates 
the formation of the oldest lunar anorthosites by 
>lOOMyr (Carlson & Lugmair, 1988). A possible 
interpretation is that the primordial isochron 
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,1

47Sm-142•143Nd arrays for Mars and the Moon compared with terrestrial and chondri tic compositions. (a) 
The isochron relationship defined by Shergottites yields an age of differentiation of 4.52 ± 0.02Gyr, reflecting crystal
lization of the Martian magma ocean near the end of accretion. This isochron passes above the chondri tic reference 
value, suggesting that the Martian reservoirs sampled by Shergottites differentiated from a slightly super-chondritic 
mantle. (b) Lunar array defined by mare basalts (Hi-Ti and Low-Ti) and KREEP basalts. Data with neutron cor
rections (>lOppm) are excluded from the regression. (c) Planetary isochrons obtained from lunar, Martian and ter
restrial samples converge towards a common value corresponding to E

142Nd "" 0 and 147Smjl44Nd "' 0.21. (d) The 
intersects between the lunar and Martian arrays and the terrestrial composition plot within errors on a solar system 
isochron passing through the 0-chondrite composition. This suggests that Mars and the Earth-Moon system devel
oped a slightly fractionated Sm/Nd composition at a very early stage of planetary accretion. 

relationship was partially reset by remelting and 
mixing of magma ocean cumulates, resulting 
from gravitational instabilities (Bourdon et al., 
2008). Regardless of the chronological signifi-

cance of the lunar array, it is evident that most 
lunar samples have a superchondritic 142Nd com
position, roughly centered on the terrestrial 
value. This is a crucial observation showing that 
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the super-chondritic 142Nd signature observed in 
all terrestrial samples is probably not restricted 
to the uppermost mantle and crust, but more 
likely represents the isotopic signature of the 
entire Earth-Moon system. 

As illustrated in Figure 1.22c, a more detailed 
examination of planetary data reveals that lunar 
and Martian isochrons intersect at an £ 142Nd com
position of +20ppm compared with ordinary 
chondrites, and thus define a triple intersect with 
the terrestrial composition. In detail, the inter
sect between the Martian isochron and the 
terrestrial value corresponds to a slightly super
chondritic 147Smjl44Nd ratio of 0.2054 ± 0.0035, 
whilst the intersect defined by the lunar isochron 
corresponds to a similar but less precise value of 
0.2085 (Figure 1.22d). Both plot within error on a 
4.56 Gyr solar system isochron passing through 
the chondritic composition, which is precisely 
what would be expected if all three planets had 
accreted from material with super-chondritic Sm/ 
Nd ratio. Of course, these compositions remain 
hypothetical as Mars and the Moon may not nec
essarily have perfectly 'terrestrial' 142Ndjl44Nd 
signatures (Bourdon et al., 2008). Despite this 
uncertainty, the seemingly super-chondritic 142Nd 
compositions of Mars, the Earth and the Moon 
challenge the conventional view that terrestrial 
planets have rigorously chondritic ab•mdances of 
refractory lithophile elements. Futtf're research 
will thus need to investigate possilile mecha
nisms for refractory elements fractionation dur
ing planetary accretion and their consequences in 
terms of planetary composition. A revision of the 
Sm-Nd parameters for the bulk Earth would, for 
example, require a revision of the Lu/Hf, Rb/Sr 
and possibly Th/U · ratios of the bulk silicate 
Earth, which would modify our perspective on 
the isotopic systematics in mantle derived rocks. 
As illustrated in Figure 1.12b, a bulk silicate 
Earth with Sm/Nd ratio -6% higher than chon
dritic would provide a good match to the 143Nd 
evolution of the mantle prior to 2.5 Gyr, suggest
ing that the Archean mantle was less depleted 
than previously thought. The presence of a large 
continental volume prior to 3 Gyr would thus no 
longer be required to explain the 143Nd signal in 

Archean rocks, thereby resolving the long-held 
paradox of the seemingly depleted signature of 
the Archean mantle, despite the lack of a large 
stable continental mass of that age. 

CONCLUSIONS 

The Earth's mantle exhibits an elevated Hf/W 
ratio and a small but well resolvable 182W excess 
relative to chondrites, demonstrating that at least 
parts of the Earth's core segregated during the 
lifetime of 182Hf. The 182W excess of the Earth's 
mantle is about one order of magnitude smaller 
than excesses found in the silicate part of some of 
the oldest planetary objects (the parent bodies of 
differentiated meteorites). This observation is 
difficult to explain unless formation of the Earth's 
core was protracted and involved some re-equili
bration of newly accreted metal cores within the 
terrestrial magma ocean. The two-stage model 
age of the Earth's core of -30Myr assumes that 
the core formed in a single instant at the end of 
accretion and as such is not appropriate for mod
eling the continuous segregation of the Earth's 
core during protracted accretion. The two-stage 
model age, nevertheless, is useful because it pro
vides the earliest time at which core formation 
can have been complete. 

Determining the rate of the Earth's accretion 
and timing of core formation based on the 182W 
excess of the Earth's mantle requires knowledge 
of a number of parameters, including the degree 
to which the metal cores of newly accreted bod
ies equilibrated with the Earth's mantle and the 
timescales and conditions of core formation of 
the material that accreted to form the Earth. Our 
incomplete understanding of these processes 
makes determining an Hf-W age of the Earth's 
core uncertain. Additional constraints on the rate 
of the Earth's accretion are required and are pro
vided by the age of the Moon. The indistinguish
able W isotopic compositions of the bulk silicate 
Moon and Earth in conjunction with their differ
ent Hf/W ratios require that the Moon formed 
late, >50Myr after solar system formation. 
The late age of the Moon reveals that the Hf-W 
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systematics of the Earth's mantle can be accounted 
for in two types of models. Either the Earth's 
accretion took place by collisions that occurred 
at a slowly decreasing exponential rate with a 
mean-life of -40Myr, or an initial rapid growth 
was followed by a long hiatus before the final, 
late Moon-forming impact. A better understand
ing of the physics and chemistry involved in 
metal segregation during large impacts may help 
distinguishing between these two scenarios. 

Ubiquitous 142Nd anomalies in early Archean 
rocks from West Greenland witness an episode of 
mantle-crust differentiation 30 to lOOMyr after 
formation of the solar system. This age constraint 
is identical within errors to the age of differentia
tion of the Martian mantle, suggesting that both 
planets experienced early differentiation following 
magma ocean crystallization. The preservation of 
positive 142Nd anomalies in the mantle until3.6 Gyr 
requires that the Hadean crust was a long-lived res
ervoir with a lifetime of -1 Gyr. The lack of 142Nd 
heterogeneities in the late Archean mantle, if con
firmed, would suggest that this early crust was 
compositionally more mafic than modern conti
nents and was extensively recycled prior to the 
major episode of crustal growth 2.5 to 3 Gyr ago. 

The radiogenic excess of -20ppm measured in 
all'accessible' terrestrial reservoirs suggests that 
part or all of the Earth's mantle evolved with an 
Sm/Nd ratio 4 to 7% higher than c:riondritic for at 
least 4.53 Gyr. This early fractionation thus 
occurred before the Earth's core had completely 
segregated and also prior to the giant Moon
forming impact. This is difficult to explain unless 
the non-chondritic Sm/Nd composition of the 
Earth was inherited from accreting material (most 
likely the planetary embryos) rather than gener
ated at a later stage by internal differentiation. As 
a consequence, the assumption of a chondritic 
Hf/W ratio of the bulk Earth may not be valid. A 
non-chondritic Earth would have a Hf/W ratio 
-1.5 times higher than chondritic and also the 
Hf/W ratio of the bulk silicate Earth, which is 
estimated assuming a chondritic ratios of refrac
tory lithophile elements, would be -1.5 times 
higher (Kleine et al., 2009). For a non-chondritic 
Earth, Hf-W ages become younger compared to a 

chondritic Earth (e.g. the two-stage model age is 
-40Myr instead of -30Myr) but given the uncer
tainties inherent in Hf-W models for the Earth's 
accretion and core formation, this does not affect 
the main conclusions drawn here. 

Martian and lunar samples define linear arrays 
in an £ 142Nd vs Sm/Nd plot, which can be inter
preted as planetary isochrons dating the crystalli
zation of magma oceans on these planets. The 
Martian array yields an age of differentiation of 
4.52 Gyr, in agreement with the presence of 182W 
anomalies in these samples. The lunar array, on 
the other hand, yields a surprisingly young age of 
4.35 Gyr. The chronological significance of this 
trend is uncertain as it could represent a mixing 
relationship between magma ocean cun1.ulates 
rather than a true isochron. An important obser
vation, however, is that the Martian and lunar 
arrays do not intersect the chondritic reference 
composition, as would be expected if both planets 
had chondritic Sm/Nd and 142Nd/144Nd ratios. 
These arrays define a common intersect with the 
terrestrial value (at £ 142Nd = 0 and 147Smjl44Nd = 
0.20St defining a plausible bulk composition for 
Mars and the Earth-Moon system. This observa
tion supports the view that refractory lithophile 
elements in all the terrestrial planets may have 
experienced minor fractionation during accretion, 
which ultimately resulted in the super-chondritic 
142Nd/144Nd signature of the Earth's mantle. 
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SUMMARY 

Many trace elements diffuse so slowly through 
mantle minerals that they may not achieve an 
equilibrium distribution between minerals and 
melt during partial melting. In principle, the con
trol of diffusion on trace element fractionation 
can provide information on melting rates. Several 
models have been developed to address diffusion
controlled fractionation of trace elements and 
U-series nuclides during mantle melting proc
esses, and these have been applied in a few cases 
to natural datasets, including abyssal peridotites 
and basalts. The melting rates inferred using this 
approach are consistent with physical models of 
adiabatic decompression melting inla mid-ocean 
ridge setting, and of melting due t~ conductive 
heating by a plume at the base of the lithosphere 
in an intraplate setting. 

INTRODUCTION 

Atomic transport by diffusion is a fundamental 
step in many important geological processes, 
from mantle convection to the setting and reset-

Timescales of Magmatic Processes: From Core to 
Atmosphere, lst edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 20 ll by Blackwell Publishing Ltd. 

ting of ages in geochronology. In many such proc
esses, diffusion operates in concert with other 
phenomena; when it is the slowest step in the 
overall process, it controls the overall rate. For 
most elements, diffusion in mantle minerals is 
extremely slow, even at temperatures above the 
solidus of dry peridotite. For example, the dis
tance over which iron and magnesium interdif
fuse in olivine at 1,300°C is only -10 em over 1 
million years (Chakraborty, 1997). Many trace 
elements diffuse even more slowly: lanthanides 
(REE) and actinides (e.g. U and Th) in clinopyrox
ene, orthopyroxene and garnet may diffuse over 
distances <1 mm in 1 million years (Van Orman 
et al., 1998, 2001, 2002b; Tirone et al., 2005; 
Cherniak & Liang, 2007). Diffusion rates of these 
trace elements are so slow that equilibrium parti
tioning between mineral grains and melt may not 
be established during mantle melting. In this 
case, trace element fractionation depends on the 
rate of diffusion relative to the rate of melting; in 
principle, if the diffusion timescale is known, 
this provides a basis for inferring the timescale of 
melt production in the mantle. 

Our objectives in this chapter are, first, to illus
trate in terms of a simple model how diffusion 
may influence trace element fractionation during 
melting, and how information can in principle be 
extracted on the melting timescale; and second, 
to review progress that has been made to date in 
modeling diffusion-controlled fractionation of 
trace elements, and of U-series radionuclides. 
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Whilst the primary focus of this chapter is on 
conceptual and numerical approaches to the 
problem, we also discuss specific inferences that 
have been made regarding melting processes and 
timescales in the upper mantle. 

SIMPLE MODEL 

To develop an intuitive understanding about the 
control diffusion may exert on trace element 
fractionation during partial melting, it is useful 
to consider first a highly idealized system- one 
that is far too simple to represent an actual man
tle melting process. Imagine a spherical mineral 
with isotropic diffusion properties, which under
goes a small degree of partial melting, instanta
neously, and is thereafter held in contact with 
the melt at constant temperature and pressure. 
Because the melt forms instantaneously, it ini
tially must have exactly the same chemical com
position as the mineral, but in practice this is 
never the equilibrium state of the system. Only 
in a one-component system would the equilib
rium melt composition be identical to the min
eral composition. However, one-component 
systems are not particularly relevant to mantle 
melting, and even systems that can be approxi
mated in terms of a single component contain 
trace elements that are partitioned unequally 
between mineral and melt at equilibrium. Both 
major elements and trace element~, which are 
focused on here, must be redistributed between 
the mineral and melt to achieve an equilibrium 
distribution. . 

The processes that lead towards an equilib
rium distribution of trace elements begin at the 
interface between the mineral grain and the 
melt. Atoms must be attached to and/or detached 
from the surface of the mineral to bring trace 
element concentrations towards local equilib
rium partitioning. These interface reactions pro
duce concentration gradients on either side of 
the interface that drive diffusion in each phase. 
All three processes - interface reactions, diffu
sion in the mineral, and diffusion in the melt -
must operate to bring the system into chemical 

equilibrium. Modeling the overall chemical 
exchange process in terms of all three of these 
processes would be quite involved and computa
tionally intensive, even for this very simple sys
tem. Fortunately, it is not necessary to model 
the kinetics of interface reactions or diffusion in 
the melt explicitly, because both are so much 
faster than diffusion in mantle minerals. 
Diffusion of lanthanides and actinides, for 
example, is -107 to 109 times faster in basaltic 
liquids (LaTourrette and Wasserburg, 1997) than 
in pyroxenes (Van Orman et al., 1998, 2001; 
Cherniak and Liang, 2007) or garnets (Van 
Orman et al.,2002a; Tirone et al., 2005). Atomic 
attachment and detachment rates at mineral/ 
melt interfaces have not been as extensively 
studied as diffusion rates, but are many orders of 
magnitude faster than diffusion in the melt, 
with local equilibrium established on the order 
of seconds or less at magmatic temperatures 
(Zhang et al., 1989). With diffusion in the melt 
and interface reactions being so rapid, the rate of 
the overall trace element equilibration process 
is governed only by diffusion in the rnineral 
(Dohmen & Chakraborty, 2003). The small 
amount of liquid can be assumed to re-homoge
nize.continuously as trace elements diffuse out 
of (or into) the mineral, and the mineral surface 
can be assumed to adjust its composition con
tinuously so that it always maintains partition
ing equilibrium with the melt (Figure 2.1 ). The 
ability to make these assumptions allows the 
system to be modeled in a much simpler way 
than would be possible if interface reactions or 
diffusion in the melt occurred at rates similar to 
solid-state diffusion. 

Equations 

The behavior of the system described above, and 
depicted schematically in Figure 2.1, can be 
expressed mathematically in terms of the fol
lowing set of equations. The concentration C of 
a trace element, as a function of the radial posi
tion r within the mineral sphere (i.e. distance 
from the center) and time t, is described by the 
following differential equation, which is usually 
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problems are discussed by Crank (1975lt Albarede 
(1995) and Costa et al. (2008). 

Modeling and discussion 

The evolution with time of the concentration of a 
trace element within a spherical mineral grain 
that is diffusively exchanging with 1% melt is 
shown in Figure 2.2a, for a trace element with a 
mineral/melt partitiOn coefficient lz=O.Ol. 
Diffusion profiles from the center to the rim of 
the mineral grain are shown for five different 
times, with the number on each curve referring to 
the interaction time divided by R 2/D (the square 
of the grain radius divided by the diffusion coeffi
cient), which is the characteristic diffusion time. 
As the trace element diffuses out of the mineral, 
its concentration at the interface with the melt 
increases, reflecting the increasing concentration 
of the trace element in the melt. After a time of 
0.3R2/D, the diffusion profile has become nearly 
flat and the entire mineral grain is close to parti
tioning equilibrium with the melt. This time is 
-3 million years if the diffusion coefficient is lQ-20 

m 2/s and the grain radius is lQ-3 m, for example. 
Although the system considered here is far too 

simple to approximate a real mantle melting 
process, Figure 2.2a serves to illustrate how infor
mation on the time of mineral-melt interaction. 
can, in principle, be gleaned if diffusion profiles 
can be recovered from mineral resi&ues of the 
melting process. In the simple case illustrated in 
Figure 2.2a, the diffusion profile of a trace ele
ment within the mineral records the time during 
which the mineral and melt interacted, which 
can be inferred directly if the diffusion coefficient 
is know~ and the time is not so long that the 
mineral approaches equilibrium with the melt. In 
a more realistic case, where melting is ongoing 
and melt may be extracted continuously from the 
system, diffusion profiles in the mineral record 
information on the rate of melting, and depend 
also on the style of melt extraction (batch, 
fractional, etc.). In this case, the rate of melting 
could be inferred by fitting the diffusion profile to 
an appropriate model of the melting process, 
again provided that the diffusion parameters in 
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Fig. 2.2 Simulations of trace element evolution in a 
simple system consisting of a single spherical mineral 
surrounded by a small amount of melt (l% of the sys
tem mass). The mineral and melt begin with the same 
trace element composition, and evolve towards parti
tioning equilibrium, with diffusion in the mineral as 
the rate-limiting step. (a) Diffusion profiles in the 
mineral for a trace element with partition coefficient 
k=O.Ol, at 5 different non-dimensional times (timescaled 
by the characteristic diffusion time). (b) Change with 
time of the concentration in the melt, for trace ele
ments with 3 different partition coefficients. The con
centration in the melt is scaled to the equilibrium 
concentration. Note that trace elements with small 
partition coefficients require more time to equilibrate. 

the mineral are known, and that the initial grain 
size can be estimated. 

However, few diffusion profiles have actually 
been measured across mineral grains in peridotites 
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(e.g. abyssal peridotites) that are residues of man
tle melting. An exception is orthopyroxene in 
remarkably fresh peridotites from the Gakk:el 
Ridge, which von der Handt and others have 
shown to preserve compositional profiles 
(von der Handt et al., 2007, 2008). In this case, 
however, the trace element profiles in orthopy
roxene clearly reflect diffusive exchange with 
surrounding minerals under sub-solidus condi
tions, during a protracted cooling interval asso
ciated with slow uplift. Unfortunately, no 
signature of diffusive exchange during melting 
appears to remain. Whilst quenched diffusion 
profiles in the mineral residues of mantle melt-

would provide the clearest and most robust 
evidence for diffusion-controlled fractionation, 
and the strongest diffusion-based constraints on 
rates of melt production, the appropriate geo
chemical datasets do not (yet) and such 
applications remain, for now, hypothetical. Data 
on the bulk concentrations of trace elements in 
mineral residues of mantle melting do exist 
(Johnson et al., 1990), and these have been used 
to address the effects of disequilibrium during 
melting, as discussed below. 

The melt also may provide information on the 
time of interaction between minerals and melt, 
in the simple case considered here, or on the rate 
of melting in more realistic scenarios. However, 
because the melt homogenizes continuously on 
the timescale of interest, much infi&rmation is 
lost, and in practice the interpretation of the trace 
element composition of the melt in terms of dis
equilibrium, diffusion-controlled exchange must 
always be at least somewhat ambiguous. In terms 
of the extremely simple model considered if 
the degree of melting is known, as well as the ini
tial concentration, equilibrium partition coeffi
cient and diffusion coefficient of a trace element, 
then the concentration of the trace element in 
the melt is a unique function of the time of inter
action. In general, however, the melting degree 
and the initial concentration of the system are 
not known, and in more realistic models there is 
the added complication that the trace element 
composition depends on the style of melt removal 
(batch, fractional, etc.). Despite these significant 

drawbacks, melts are worthy of consideration 
because they are far more extensively sampled 
than the solid residues of mantle melting. As dis
cussed below, diffusion control on the composi
tion of melts becomes particularly important, 
and powerful as a tool for understanding melting 
processes, with regard to the U-series isotopes. 

Figure 2.2b shows the change in concentration 
of three incompatible trace elements, with equi
librium partition coefficients k=O.l, 0.01 and 
0.001, in a melt (which constitutes 1% of the 
system mass, as in Figure 2.2a) interacting with 
a spherical mineral. This simple model illus
trates an important point: the rate at which the 
concentration in the melt approaches its ulti
mate equilibrium value depends on the partition 
coefficient. Because they are more par
titioned into the melt, elements with smaller 
partition coefficients require a greater diffusive 
flux and thus take more time to approach equi
librium, for a given diffusion coefficient. Hart 
(1993) made the same point in reference to an 
analytical solution for diffusive interaction of a 
melt cylinder with surrounding minerals. For a 
more extensive and general treatment of the 
controls on chemical exchange rates, see 
Dohmen & Chakraborty (2003). 

MORE REALISTIC MODELS 

Several models were presented in the early 1990s 
(Qin, 1992; Iwamori, 1993a, b) that address a more 
realistic picture of melting than the very simple 
model described above. These models are based 
on melting and melt transport models that had 
been put forward in the 1970s and 1980s (Langmuir 
et al., 1977; McKenzie, 1985; Richter, 1986), the 
key difference being that the new disequilibrium 
models considered trace element exchange explic
itly as a diffusion-controlled process rather than 
assuming continuous equilibration between solid 
and co-existing melt. As with the simple model 
described above, the models put forward by Qin 
(1992) and Iwamori (1993a, b) treat mineral grains 
as isotropic spheres, with partitioning equilib
rium continuously maintained at the interface 
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Fig. 2.3 A general picture of disequilibrium decompres
sion melting models, wherein minerals interact with 
porous melt via diffusion. In the Iwamori ( 1993a) model, 
there is a differential flow between the porous melt and 
solid mantle (with vm>v,). The model of Iwamori 
(1993b) includes both porous flow and melt extraction 
into channels. 

between minerals and melt. The solid is implicitly 
treated as mono-mineralic, with the behavior of a 
trace element governed by a single diffusion coef
ficient and partition coefficient that remain con
stant throughout the melting and diffusive 
exchange process. Where these models differ from 
the simple model described above is in.iheir treat
ment of melting and melt extraction (Figure 2.3). 
Instead of considering melting and diffusive 
exchange separately, as a two-step process with 
the melting step being instantaneous, melting is 
considered to occur continuously, at a constant 
rate. The number of mineral grains remains con
stant during melting, and grains maintain their 
spherical symmetry as they dissolve; this requires 
that the boundary between mineral and melt shift 
towards the grain center as melting progresses. 
The assumption that grains retain their spherical 
geometry implies that grains remain undeformed 
during melting, or at least that deformation has 
no significant influence on the diffusion profiles 
that develop within the grains. This is an impor
tant assumption, but one that is difficult to test. 

Significant deformation of grains during melting 
might promote more rapid trace element exchangF: 
between minerals and melting. 

Where the models of Qin (1992) and Iwamori 
(1993a, b) differ is in their treatment of melt 
transport. The model of Qin (1992) is a 'critical 
melting' or 'dynamic melting' model, in which 
melt remains in the system until a thresh
old melt fraction is exceeded. Thereafter, melt is 
extracted at the rate that leaves the fraction of 
melt in the residue constant. Extracted melt is 
considered to pool in an isolated reservoir, which 
experiences no further chemical exchange with 
the solid. The Qin (1992) model can describe a 
range of melt extraction styles between two end
member scenarios: when the threshold melt 
fraction is set higher than the total degree of 
melting, the model is equivalent to 'batch' melt
ing, where melt always remains in chemical 
contact with the solid; when the threshold melt 
fraction is set to zero, melting is 'fractional', i.e. 
melt is extracted from the system as soon as it is 
produced. The model of Iwamori ( 1993a) consid
ers simultaneous melting and one-dimensional 
porous flow. Melt is considered to percolate con
tinuously upwards, at a rate greater than the rate 
of solid mantle flow, interacting with minerals 
as it ascends via diffusion-controlled exchange. 
The model of Iwamori ( 1993b) adds to this porous 
flow model the possibility of melt extraction 
into chemically isolated channels. Like the Qin 
(1992) model, this model can simulate the full 
range of conditions between the two end-member 
physical melting models of fractional melting 
(perfectly efficient extraction of melt into chan
nels) and batch melting (no extraction of melt 
into channels). 

Several important points arise from the Qin 
and Iwamori models. One is that the degree of 
chemical disequilibrium during melting, where 
chemical exchange is controlled by diffusion in 
the solid, depends upon the ratio of the character
istic diffusion time, R2/D, and a characteristic 
melting time, i.e. the time required to produce a 
certain degree of melting. This result can be 
appreciated in terms of the simpler model shown 
in Figure 2.2, where the time of mineral/melt 
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interaction is scaled to the characteristic diffusive 
exchange time. Regardless of differences in the 
style of melting, the equilibration process is 
essentially governed by the relative timescales 
for diffusion and mineral/melt interaction. 
Another important point is that the greater the 

of disequilibrium during melting, the 
higher the concentration of an incompatible ele
ment in the residual solid. This result can also 
be appreciated in terms of Figure 2.2a- the inte
grated concentration of an incompatible trace 
element in the solid grain steadily decreases as 
diffusive exchange proceeds, reaching a mini
mum at equilibrium. What this implies is that, 
all else being equal, the concentration of an 
incompatible element in the residual solid will 
increase with the rate of melting. In principle, the 
concentrations of incompatible trace elements in 
the residual solid may thus record information on 
the melting rate. However, the style of melting 
also has a strong influence on the degree to which 
incompatible elements are stripped from the solid
highly incompatible elements are removed more 
efficiently by equilibrium fractional melting than 
by equilibrium batch melting. In terms of the 
bulk concentrations of trace elements in the 
residual solid, the effect of disequilibrium is 
mimicked by the effect of inefficient melt extrac
tion, and it is not easy to determine which of 
these effects may dominate in a particular case. 

Iwamori {1993b) compared the of two 
different models to trace element data from 
abyssal peridotite clinopyroxene grains (Johnson 
et al., 1990; Johnson & Dick, 1992). In one model, 
equilibrium is maintained between the solid and 
residual melt during melting, and what is varied 
is the efficiency of melt extraction; in the other, 
melt extraction into channels is perfectly efficient 
(i.e. melting is fractional) and what is varied is the 
degree of chemical disequilibrium (considered to 
be the same for each element considered, since 
relevant diffusion data were not available at that 
time). Iwamori (1993b) showed that reasonable 
fits to the abyssal peridotite data could be obtained 
in either case: with equilibrium assumed, the data 
were best modeled with ~80% of the melt being 
extracted from the residue by channelized flow; 

assuming fractional melting, the data were best 
modeled with a significant degree of chemical dis
equilibrium, with the diffusion time R2/D being 
approximately equal to the total melting time, 
represented by Iwamori (1993a, b) as H/V

5
, where 

H is the height of the mantle column undergoing 
adiabatic decompression and V, is the 
mantle upwelling velocity. The ambiguity in 
interpretation of the data any definite 
conclusions from being made on the degree of dis
equilibrium. Even if such a determination had 
been possible, the lack of appropriate data on trace 
element diffusivities in mantle minerals would 
have made an inference of the melting rate and/or 
grain size in the mantle highly speculative. 

Further developments 

The availability of new experimental data on trace 
element diffusion in clinopyroxene (Cherniak, 
1998, 2001; Van Orman et al., 1998, 2001) and gar
net (Van Orman et al., 2002a; Tironi et al., 2005) 
and of new thermodynamic analyses of the melt
ing process (Asimow et 1997) led to the devel
opment of disequilibrium melting models that 
address more specifically the conditions that pre
vail during melting beneath mid-ocean 
Van Orman et al. (2002b) presented a model that 
considers both clinopyroxene and garnet, the two 
primary hosts of rare earth elements in the upper 
mantle. During melting, each mineral "'"''~'""'~'"" 
trace elements with the melt, and each of which 
may enter the melt at a different rate. The greater 
availability of experimental data also made it 
appropriate to consider variations in the diffusiv-

of each element as a function of temperature 
and pressure during decompression melting, i.e.: 

D' 
1 (

-(E; +PV/)J exp -
RT 

where Dj is the diffusion coefficient of element i 
in mineral;, DO' E and V are the pre-exponential 
factor, activation energy and activation volume 
for diffusion, respectively, P is the pressure, T is 
the absolute temperature, and R is the gas (or 
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Fig. 2.4 Influence of mantle upwelling rate on the REE composition of (a) the residual solid and (b) the aggregated 
extracted melt after 16% disequilibrium critical melting in the spinel stability field (Van Orman et al., 2002bj. The 
initial grain radius in the simulations is 2mm, and the threshold melt fraction is 0.01. The numbers on the curves 
indicate the upwelling rate in em/yr. Reprinted from "Earth and Planetary Science Letters", 198, Van Orman J.A., 
Grove T.L. and Shimizu N. Diffusive fractionation of trace elements during production and transport of melt in 
Earth's upper mantle. 93-112, 2002 with permission from Elsevier. 

molar Boltzmann) constant. See the chapter by 
Costa and Morgan for further discussion about 
variations in, and fundamental controls on, D. 
The diffusion coefficients for REE in clinopyrox
ene decrease by one to two orders of magnitude 
with decreasing temperature along an isentropic 
decompression mantle melting path; this implies 
that the degree of disequilibrium and the effective . 
partitioning behavior of the REE vary.Jas melting 
proceeds. Van Orman et al. (2002b) also considered 
variations in the rate of melt production along an 
isentropic decompression melting path, following 
the thermodynamic analysis of Asimow et al. 
(1997). In particular, the melting rate is inferred to 
increase strongly at lower pressures, where REE 
diffusion coefficients are slow. The combination 
of rapid melting rates and slow diffusion rates 
strongly favors disequilibrium partitioning at shal
low depths; conversely, relatively slow melting 
rates and faster diffusion coefficients promote 
equilibrium near the base of the melting column. 

Van Orman et al. (2002b) incorporated these 
refinements into a model that is similar in other 
respects to the dynamic melting model developed 
by Qin (1992), and used it to simulate REE frac-

tionation during adiabatic decompression melting 
in the mantle. These authors found the REE com
position of the solid residue melting to be a strong 
function of the mantle upwelling rate, when 
melting is nearly fractional (Figure 2.4a). When 
upwelling is very slow, -0.1 cm/yr or less, for grain 
radii of 2 mm, equilibrium between minerals and 
melt is maintained during melting for all of the 
REE. This results in a strong depletion of the resid
ual solid in light rare earth elements, which are 
highly incompatible. As the upwelling rate 
increases beyond -0.3 cmjyr, light rare earth ele
ments are unable to maintain equilibrium concen
trations in the melt, due to their slow diffusivities 
and small partition coefficients (cf. Figure 2.2b), 
whilst faster diffusing, less incompatible heavy 
rare earth elements continue equilibrating at 
upwelling rates an order of magnitude faster. As a 
result, light rare earth element abundances in the 
residual solid shift upwards, becoming compara
ble to heavy rare earth element abundances at 
upwelling rates of 10cm/yr or more. 

In contrast, the aggregated melt (Figure 2.4b) is 
fairly insensitive to disequilibrium partitioning 
of the REE. At very rapid upwelling rates the 
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Fig. 2.5 Siin,ulated REE compositions of the residual solid for batch melting and fractional melting, after 16% melt
ing in the spinal peridotite field (Van Odhan et al., 2002b). With increasing deviation from partitioning equilibrium 
(a-di the solid residue of fractional melting becomes similar to that from batch melting. The difference in La concen
tration after batch melting vs fractional melting is -108 at equilibrium, but <2 at an upwelling rate of lOcm/yr. The 
initial grain radiu~ in the simulation is 2mm. Reprinted from "Earth and Planetary Science Letters", 198, Van 
Orman J .A., Grove ·T.L. and Shimizu N. Diffusive fractionation of trace elements during production and transport of 
melt in Earth's upper mantle. 93-112, 2002 with permission from Elsevier. 

abundances of REE decrease somewhat in the 
aggregated melt compared to their abundances at 
equilibrium, but there is very little change in the 
shape of the REE pattern. The reasons for this are 
discussed by Van Orman et al. (2002b); the practi
cal implication is that rare earth elements in 
basaltic melts are unlikely to divulge much infor
mation on mantle melting rates. 

When melting is a batch process, with melt 
remaining in contact with the minerals until it is 
removed en masse, rather than a near-fractional 

process, the REE composition of the solid residue 
is not very sensitive to variations in the degree of 
disequilibrium. As the upwelling rate increases, 
REE concentrations in the solid residue of batch 
melting increase only slightly, whilst for frac
tional melting the REE (and particularly the LREE) 
concentrations increase strongly with upwelling 
rate (Figiire 2.5). The result is that the solid resi
due of fractional melting becomes very similar to 
the solid residue of batch melting, as the degree of 
disequilibrium increases; for upwelling rates of 
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Fig. 2.6 Comparison of model predictions (Van Orman et al., 2002b) of the clinopyroxene composition in the resid
ual solid with observed chondrite-normalized Ce and Nd concentrations in cpx grains from abyssal peridotites (open 
circles, data from Johnson et al., 1990i Johnson & Dick, 1992). All calculations assume an upwelling rate of 0.9cmf 
yr, consistent with the plate spreading rate of the sampling locations. In (a), the curves show model residual cpx 
concentrations for 0 to.20% melting beginning at 2.4GPa, in the spinel stability field, with equilibrium maintained 
during melting and threshold porosities between 0 and 3%. (b) Disequilibrium fractional melting with constant melt 
productivity. Melting begins at 2.4GPa, and the curves are for different grain sizes between 0 and 3 mm. (c) Same as 
in (b) but with increasing melt productivity at pressures below l.OGPa.(d) Same as in jc) but with melting beginning 
at 2.8GPa, in the garnet stability field. In general, the peridotit.e data are consistent with disequilibrium 
fractional melting, with initial mantle grain sizes of 2 to 3 mm and either constant melting rate, or variable melting 
rate constrained by thermodynamic considerations (Asimow et al., 1997). Reprinted from "Earth and Planetary 
Science Letters", 198, Van Orman J.A., Grove T.L. and Shimizu N. Diffusive fractionation of trace elements during 
production and transport of melt in Earth's upper mantle. 93-112, 2002 with permission from Elsevier. 
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3 cm/yr or more, the REE patterns in the solid 
residue have nearly identical shapes for fractional 
and batch melting (with grain radii of 2mm, and a 
total degree of melting of 16%). 

Following Iwamori (1993b), Van Orman et al. 
(2002b) re-examined trace element data for clinopy
roxene from abyssal peridotites, focusing on the 

rare earth elements Ce and Nd. Because these 
elements have different diffusion parameters (and 
partitiou coefficientsL they respond somewhat dif
ferently to variations in melting rate or grain size. 
The result is that Ce vs Nd trends in solid residues 
of variable of melting are curved for dise
quilibrium, whereas they are straight for equilib
rium melting (Figure 2.6). Van Orman et al. (2002b) 
found a somewhat better match to the abyssal 
peridotite data for disequilibrium models than for 
equilibrium models, with best fits obtained for 

radii of 2 to 3 mm, at an upwelling rate of 
0.9 cm/yr (inferred from the plate spreading rate in 
the vicinity of the sampling site). 

Most disequilibrium melting models have 
focused on decompression melting, which is rel
evant to magma production at mid-ocean ridge 
and intraplate settings. However, (2003) 
investigated the influence of disequilibrium on 
eclogite melting within a subducting slab. The 
REE compositions of adakites were found to be 
reasonably consistent with slab melting under 
either equilibrium or disequilibrium conditions. 
However, Under disequilibrium co]ditions a 
nificantly larger degree of slab melting was neces
sary to explain the data, -25 to 30% rather than 
-10% in the case of equilibrium melting. 

DIFFUSIVE FRACTIONATION 
OF U-SERIES ISOTOPES 

The U-series isotopes provide a unique opportu
nity to combine kinetic constraints from both 
diffusion and radioactive decay. The chapters by 
Bourdon and Elliott, Dosseto and Turner, and 
Turner and Bourdon introduce basis aspects of 
U-series isotopes and their applications to mag
matic processes. In this section we briefly address 
the diffusive fractionation of U-series isotopes 
during melting; a more detailed discussion of this 

topic, and presentation of the equations involved, 
is given by Van Orman et al. (2006). 

As discussed above, chemical disequilibrium of a 
stable trace element during melting depends on the 
timescale of diffusion in the minerals relative to the 
timescale of melting. For U-series nuclides, a third 
timescale is involved as well- the timescale of radi
oa.ctive decay. For the intermediate daughters in the 

it is necessary to consider radioactive pro
duction and decay occurring simultaneously with 
diffusive exchange. This makes their behavior dur
ing melting qualitatively different than the behav
ior of stable trace elements. 

A distinct advantage of the U-series system is 
that the relative concentrations of the radioactive 
nuclides in the in the mantle source prior 
to the onset of u",J.uu};, is well constrained. In a 
system that has remained closed for sufficient 
time, the activity of each nuclide in the series 
(which is equal of the product of its decay con
stant and its concentration) is the same. This 
steady state condition, referred to as secular equi
librium, applies to mantle that has remained 
undisturbed for a few hundred thousand years 
prior to the onset of partial melting. During par
tial melting, nuclides in the decay series may be 
fractionated, to relative activities in the 
melt that deviate from those expected at secular 
equilibrium. As with stable trace elements, the 
fractionation of U-series nuclides depends on 
their equilibrium partition coefficients when 
local equilibrium is maintained during melting, 
but depend also on their diffusion coefficients 
under disequilibrium conditions. 

Qin (1992) presented, in an appendix, a model 
for diffusion-controlled transfer of l..'!Yfh and 226Ra 
during melting. The model is essentially the same 
as the model for stable trace elements presented 
in the same paper {and described above) but also 
considers the simultaneous radioactive produc
tion and decay of 226Ra and the decay of 230Th (for 
simplicity, radioactive production of 230Th is 
ignored). Qin (1992) suggested that Ra {which is 
divalent) was likely to diffuse more rapidly in 
mantle minerals than tetravalent Th, and pre
sented numerical calculations in which the diffu
sion coefficient for Ra was assumed to be 10 times 
higher than forTh. Under these assumptions, the 
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calculations show that Ra is fractionated more 
efficiently from Th when melting occurs under 
disequilibrium conditions, producing larger 226Ra 
excesses in the melt than when partitioning equi
librium between solid and melt is maintained. It 
is important to add the caveat that this is the case 
only when the melting rate is not too high -if 
melting is so rapid that no diffusive transfer 
between minerals and melt is possible, there is no 
fractionation of Ra from Th during the melting 
process. As discussed below, however, the melt in 
this case could still inherit a Ra excess or deficit 
(where excess and deficit denote greater and lesser 
activities than 230Th, respectivelyL if 226Ra and/or 
2

•
30Th is distributed unequally among the miner

als when melting begins, and the minerals enter 
the melt in unequal proportions. 

Iwamori ( 1994) also considered U-series radio
active disequilibria produced during melting, 
using a model that is based on the one presented 
by Iwamori (1993b) where melt is transported by 
porous and channel flow, but is modified to con
sider radioactive production and decay of U-series 
isotopes. It was shown that 230Th excess in the 
melt during fractional melting increased com
pared to the equilibrium case if Th diffused sig
nificantly faster than U, but decreased if Th and 
U diffused at the same rate, or if U diffused faster 
than Th. Similarly, it was shown that Ra could be 
strongly fractionated from Th if it diffused more 
rapidly in 'the solid, resulting in; large 226Ra 
excesses in the melt, but fractionation was shown 
to diminish with increasing chemical disequilib
rium if Ra and Th diffused at similar rates, or Th 
diffused faster than Ra. Based on sparse diffusion 
data that were available at the time, Iwamori 
( 1994) suggested that chemical disequilibrium 
effects were unlikely to be very important in the 
fractionation of U-series isotopes. Later experi
mental work (Van Orman et al., 1998) showed 
diffusion of U and Th in clinopyroxene to be sev
eral orders of magnitude slower than assumed by 
Iwamori ( 1994L re-opening the possibility that 
diffusive fractionation of U-series isotopes during 
mantle melting could be important. 

Saal & Van Orman (2004) re-considered the 
effects of diffusion on 226Raj230Th radioactive dise
quilibrium, focusing on shallow interactions 

between melts and cumulates in the crust-mantle 
transition zone. Based on observed relationships 
between the diffusion coefficient of an element 
and its ionic radius, it was inferred that Ra likely 
diffused significantly faster than either Th or U in 
both clinopyroxene and plagioclase. In this case, 
diffusive interaction of melt with either clinopy
roxene or plagioclase cumulates was shown to pro
duce large 226Ra excesses in the melt, whilst having 
only a minor influence on the 230Thj238U activity 
ratio. These authors therefore suggested a plausi
ble scenario in which 230Th/238U disequilibria in 
mid-ocean ridge and ocean island basalts are pro
duced in the deep mantle, whilst 226Ra excesses are 
produced mainly by shallow melt-cumulate inter
actions. In this case, 226Raf230Th radioactive dise
quilibria in basalts mayyieldlittle or no information 
on the timing of melting production in the mantle, 
or on the timing of melt transport from the deep 
upper mantle. On the other hand, raclioactive dis
equilibria involving 226Ra and its shorter-lived 
daughters might yield information on the resi
dence time of melts at shallow levels, and their 
transport through the cn1st. 

The influence of multiple minerals 

All of the models discussed above deal with inter
action between only two phases, a solid and a melt. 
More complicated behavior arises in disequilib
rium melting models if more than one mineral is a 
significant host of U-series isotopes during melt
ing. In the equilibrium case, it is not necessary to 
consider the distribution of U-series nuclides 
among the minerals in the solid- all of the miner
als are in equilibrium with the melt, and fractiona
tion can be modeled simply in terms of the bulk 
partitioning of elements between the solid and the 
melt. When equilibrium partitioning is not attained, 
due to slow diffusion in one or more of the miner
als, it is necessary to consider in detail how nuclides 
are distributed among (and within) the minerals, 
both prior to and during partial melting. Prior to 
melting, the solid mantle as a whole can be assumed 
to be in secular equilibrium. However, a wide range 
of possibilities exists for the distribution of U-series 
nuclides between the minerals in the mantle. At 
one extreme, daughter nuclides may be distributed 
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among the minerals according to their equilibrium 
partition coefficients. This situation arises if diffu
sion in the minerals is very rapid compared to radi
oactive decay rates. At the other extreme, when 
diffusion rates are very slow, each mineral is inter
nally in secular equilibrium. In this case, there is 
no partitioning of the intermediate daughter 
nuclides among the minerals; instead each mineral 
is effectively isolated. In general, when diffusion is 
neither very fast not very slow compared to radio
active decay, the distribution of daughter nuclides 
among the minerals reaches a steady state between 
these two extremes, in which diffuse fluxes are bal
anced by radioactive production and decay. 

Feineman and DePaolo (2003) considered the 
distribution of U-series nuclides among clinopy
roxene and hydrous minerals (phlogopite and 
amphibole) prior to melting, and discussed the 
possible influence of the initial distribution on 
226Ra in subduction zone lavas. They presented an 
analytical model for the steady-state distribution 
of 226Ra and 230Th between clinopyroxene and 
phlogopite or amphibole, which assumes that dif
fusion in the hydrous phase is rapid enough to 
remain homogeneous. For realistic partition and 
diffusion coefficients, mineral proportions and 
grain sizes, the hydrous mineral was found to 
develop an activity ratio (226Ra)/(230Th) >> 1, com
plemented by (226Ra)/(230Th) x1 in the clinopyrox
ene (the bulk system being in secular equilibrium, 
with (226Ra)/(230Th) = 1). During m:;lting, the melt 
may inherit excess 226Ra from the hydrous phase, 
provided that its modal abundance in the melt is 
sufficiently high and the melt is separated (and 
formed) rapidly enough. Feineman & DePaolo 
(2003) suggested that large 226Ra excesses in island 
arc lavas may be generated by such a process in the 
hydrated mantle wedge above the subducting slab. 
These authors also noted that 226Ra/230Th fraction
ation in the opposite sense, with the melt acquir
ing (226Ra)/(2·'0Th) <1, could result if melt extraction 
were insufficiently rapid, and a hydrous mineral 
remained in the residue. The transition from 226Ra 
excesses at high melting rates to 226Ra deficits at 
slower melting rates, during melting of hydrated 
mantle, was later investigated by Bourdon & Van 
Orman (2009), as discussed below (Figure 2.7). 

Van Orman et al. (2006) presented a numerical 
model that extended the work of Feineman & 
DePaolo (2003) to address both the steady-state 
distribution of U-series nuclides among miner
als below the solidus, and their diffusion-con
trolled redistribution during melting. The model 
is an extension of the model of Van Orman et al. 
(2002b) for diffusion-controlled fractionation of 
stable trace elements, modified to account for 
simultaneous radioactive production and decay. 
The set of equations that govern the distribu
tion of U-series nuclides among all phases, both 
prior to and during melting, are given in Van 
Orman et al. (2006). Bourdon and Van Orman 
(2009) applied this model to investigate 
226Raj230Th fractionation in lavas from an intra
plate setting, the Pitcairn seamounts, which are 
characterized by 226Ra deficits relative to 230Th. 
Based on water contents and trace element sys
tematics of the lavas, it was inferred that 
phlogopite was present in the source region of 
the Pitcairn seamount lavas, and was presumed 
to be within the lithosphere because phlogopite 
is unstable at asthenospheric temperatures. The 
initial sub-solidus steady-state distributions of 
226Ra/230Th and 230Thj238U between phlogopite 
and garnet were first calculated, followed by 
simulation of the diffusion-controlled redistri
bution of these nuclides during partial melting. 
Melting at the base of the lithosphere was 
treated as an isobaric process under conditions 
of increasing temperature, with melt extraction 
being continuous above a threshold porosity. It 
was found that simultaneous 226Ra deficits and 
relatively large 230Th excess in the Pitcairn lavas 
could only be explained if the rate of melting 
was <-10-7/yr (Bourdon & Van Orman, 2009). 
This is consistent with the melting rate pre
dicted from a simple model of conductive heat
ing at the base of the lithosphere by an underlying 
thermal plume. 

210Pb 

Diffusive fractionation of relatively long-lived 
intermediate daughters, such as 230Th (with a 
half-life of 75,000 years) and 226Ra (with a half-life 
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Fig. 2.7 Results of numerical simulations of disequilibrium 226Ra-230Th-238U fractionation during partial melting of 
hydrated peridotite at the base of the lithosphere (Bourdon&. Van Orman, 2009). (a) (226Raj230Th) and (b) (230Th/238U) 
as a function of melting rate, in the aggregated extracted melt after 3% melting of a hydrated peridotite containing 
10% garnet and 1.25% phlogopite. The numbers on the curves show the threshold porosity used in the simulation, 
i.e. the melt fraction beyond which melt is continuously extracted. The mineral grain radii used in the simulations 
are 1 mm. Similar results were obtained for 1 and 7% melting of the same hydrated peridotite. Pitcairn lavas with 
the largest radioactive disequilibria have (226Ra/23D'fh) activity ratio of -0.9 with (230Th/238U) of -1.37 (Bourdon&. Van 
Orman, 2009). These data can only be explained by melting rates of d0-7/yr (i.e. I0-5 %/yr). Reprinted from "Earth 
and Planetary Science Letters", 277, Bourdon B., Van Orman J.A. Melting of enriched mantle beneath Pitcairn 
seamounts: Unusual U-Th-Ra systematics provide insights into melt extraction processes. 474-481, 2009, with per
mission from Elsevier. 

of 1,600 years) depends strongly on their 
diffusivities in the minerals, and on any chemi- . 
cal disequilibrium that exists prior to, or devel
ops during, nielting or mineral-melt ijlteraction. 
The behavior of the very short-lived radionuclide 
210Pb, which has a half-life of only 22 years, is 
quite different. For 210Pb, decay is so rapid that it 
usually provides the primary driving force for 
diffusive exchange,. overriding the effects of 
chemical disequilibrium. Van Orman & Saal 
(2009) investigated the fractionation between 
zwpb and/226Ra during the interaction of melts 
with crustal cumulates, using the finite differ
ence model presented by Van Orman et al. (2006). 
Interaction of basaltic melt with plagioclase, 
clinopyroxene or gabbroic cumulates was found 
to be capable of inducing a strong 210Pb deficit in 
the melt, with the deficit developing quickly, on 
a timescale comparable to or shorter than the 
half-life of 210Pb. Whilst 226Ra may develop either 

an excess or a deficit in the melt after interacting 
with clinopyroxene or plagioclase, depending on 
the sense of the initial trace element disequilib
rium between the mineral and melt (Saal & Van 
Orman, 2004; Van Orman et al., 2006), 210Pb defi
cits develop under a broad range of conditions, 
regardless of the direction of the initial disequi
librium. Also, unlike 226Ra, the behavior of 210Pb 
during mineral/melt interaction turns out not to 
be sensitive to its diffusivity relative to its par
ents in the decay chain; 210Pb deficits develop in 
the melt whether the diffusivity of Pb is greater 
than or less than the diffusivity of Ra. The rapid 
decay of 210Pb has such a strong control on the 
diffusive fluxes that it effectively buffers the 
system against variations in the diffusivity of 
Pb and Ra. 

An important practical implication of the mod
eling results (Van Orman & Saal, 2009) is that a 
210Pb deficit in the melt can arise quite readily 
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during diffusive interactions in the crust. This 
suggests caution in interpreting 210Pb disequilibria 
in basalts as a mantle signature. The short times
cale, <100 years, indicated by the presence of 210Pb 
deficits in basalts {Sigmarsson, 1996; Rubin et al., 
2005), may reflect crustal rather than mantle 
processes. 

CONCLUDING REMARKS 

Recent experimental and theoretical develop
ments on the kinetics of chemical exchange 
between minerals and melt have provided a 
basis for the rates of mantle melt
ing processes. However, few determinations of 
mantle melting rates have yet been made using 
this approach. Rare earth element data from 
abyssal peridotites at mid-ocean (Johnson 
et al., 1990; Johnson & Dick, 1992) can be mod
eled successfully as residues of melting with 
diffusion-controlled chemical exchange (Van 
Orman et al., 2002b). The inferred rates of melt
ing are consistent with the rates predicted from 
plate spreading rates, along with thermody
namic constraints on the productivity of perido
tite. In an intraplate setting, the melting rate 
was constrained to be <10-5 %/yr based on a 
comparison of model results with 226Ra-230Th-
238U systematics in Pitcairn seamount lavas 
(Bourdon &. Van Orman, 2009). ':jl.his result is 
consistent with partial melting due to conduc
tive heating from a mantle plume at the base of 
the lithosphere. 

The primary obstacle in applying diffusion 
constraints to mantle melting problems is the 
paucity of natural· data that can be modeled in 
terms of diffusion-controlled fractionation dur-

melting. Diffusion constraints are much 
more readily applied to infer rates of magma 
chamber processes (see the chapter by Costa and 
Morgan), because such processes are often 
recorded with high fidelity as well-preserved zon
ing profiles in phenocrysts. Unfortunately, this is 
not the case for solid residues of mantle melting; 
abyssal peridotites typically have undergone 
nificant sub-solidus chemical processing that 

overprints the signature, and diffusion 
profiles of melt-solid chemical 
exchange have not yet been recovered. Basalts, 
the liquid of mantle melting, although 
not as easy to interpret uniquely in terms of the 
diffusion-controlled chemical proc
esses involved in their production, nonetheless 
provide a promising avenue for future develop
ments, particularly with regard to their U-series 
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SUMMARY 

U-series chains provide novel insights into 
mantle melting processes, notably on melting 
rates and on the porosity at which magma can 
separate from melting solid and the depth of 
melting. We review how such physical informa
tion can be derived from these geochemical 
measurements. U-series analyses are most clearly 
interpreted in the products of decompression 
melting, the most common mechanism of melt
ing but also provide useful constraints on other 
modes of mantle melting such as isobaric heat
ing and flux There is tantalizing poten
tial for U-series to constrain key aspects of 
mantle dynamics. The fraction of pelt retained 
in the mantle informs on and influences its 
physical properties and U-series analyses clearly 
show that the residual melt porosity is ubiqui
tously low, only a few parts per thousand. 
Determination of rates from U-series 
measurements provides information about man
tle upwelling velocities and mantle lithologies. 
This approach is of particular appeal in to 
understanding mantle plumes, although such 
scenarios are still under-constrained. 

Timescale..~ of Magmatic Processes: From Core to 
Atmosphere, 1st edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 2011 by Blackwell Publishing Ltd. 

INTRODUCTION 

The production of melt in the Earth's mantle is 
one of the most fundamental processes operating 
in the solid Earth. First, it is the process whereby 
the oceanic and continental crusts are built. 
Second, it is a direct sample of the convective 
mantle at the surface of the Earth and thereby 
reveals aspects of the composition and working 
of the planet's interior. Third, it contributes 
greatly to the heat release from the mantle by 
rapidly carrying hot material to the surface. 
Providing a deeper understanding of melt produc
tion in the mantle is thus essential for under
standing how our planet functions. 

U-series nuclides are unique geochemical 
probes of melting processes since, unlike other 
geochemical tracers, they strongly depend on the 
rates and timescales of melting. Specifically, the 
half-lives of 230Th and 231Pa, the daughters of 238U 
and 235U, respectively, are of the same order of 
magnitude as the timescale of melting. Prior to 
melting, we can safely assume that the solid 
mantle is in secular equilibrium has been 
undisturbed for >350 ka) and so all measured 
disequilibria can usefully be attributed to the cur
rent process of melting. The degree of 230Th-238U 
and 231Pa-235U fractionation in erupted magmas 
will depend on the rate of melt production and 
segregation. Thus, U-series measurements are 
likely to shed a different light on the process of 
mantle melting than provided by traditional 
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and trace element approaches. However, under
standing the dynamic information provided by 
U-series measurements requires an introduction 
to time-dependent formulations of melting and so 
we initially review different melting models. 

SIMPLE VS. COMPLEX MODELS 
FOR MELT PRODUCTION IN 

THE MANTLE 

Three main modes of melt production 

The main processes for the production of melt in 
the mantle can be distinguished as: 
1 decompression melting; 
2 flux melting; and 
3 isobaric heating. 

In decompression melting, upwelling mantle 
moves along a trajectory in pressure and tempera
ture space (typically following an adiabat) that 
intersects its solidus (that has a shallower slope 
than the adiabat) and melts as it rises above this 
point (Figure 3.1). 

Solidii are composition-dependent and the 
composition of the mantle can thus have an 
important effect on the depth of onset of melting. 
The driving force for upwelling, that ultimately 
leads to melting, is either the response to overly
ing plate motions (passive upwelling) or inherent 
buoyancy (active upwelling), for example due to 
higher temperature or compositionalJlifferences. 

The second mode of melting is very different: 
hydrous fluids or melts released from subducting 
slabs move upwards and react with the hotter sub
solidus mantle domain. As the solidus temperature 
is a function of fluid content, the solidus tempera
ture is thereby lowered to an extent that depends 
on the amount of fluid added (Figure 3.1 ). However, 
in situations in which flux melting is implicated, 
adiabatic upwelling may also occur and it is diffi
cult to clearly distinguish the relative roles of these 
two processes (Conder et al. 2002). Moreover, the 
flux of other elements carried by the fluids can 
make signatures of melting difficult to disentangle 
from those of subduction contributions. 

In the third melting mode, hot upwelling man
tle heats cold, overlying lithosphere with a lower 

solidus, due to the presence of metasomatic, 
hydrous phases, for example. Thus the melting 
mantle is static and this scenario is a case of iso
baric heating (Figure 3.1). 

In principle, these three mechanisms have dif
ferent controls on their melting rates and thus 
U-series disequilibria. In the first case, mantle 
upwelling plays a dominant role in the melting 
rate for a given mantle composition. In the sec
ond case, the melting rate should be controlled by 
the rate of fluid addition. If fluid addition is a 
function of dehydration reactions in the slab, the 
melting rate could potentially depend on the sub
duction rate, all other parameters being equal. In 
the third case, the melting rate will be a function 
of the rate of lithospheric heating, which will 
depend on plate velocity and the heat flux from 
the asthenosphere. Below, we examine how the 
expectations we have from U-series to inform 
melting processes are realized in natural 
scenarios. 

The description of melt production 

There are several parameters that are used to 
describe the production of melt in the literature 
and we shall here briefly summarize these 
definitions. 

An often used parameter is the degree of melt
ing (F). F represents the mass fraction of liquid 
(ML) relative to the initial mass of mantle involved 
in the melting processes (MJ 

The degree of melting is an average value of 
mixed, erupted melts that have sampled a wide 
range of sources that have undergone different 
degrees of melting. More generally, we can define 
the degree of melting as: 

where D represents the mantle domain under
going melting with mass M

0. Note that F is 
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(a) Adiabatic decompression melting 
Te-mperature 

(b) 

(c) 

Isobaric heating 

Adiabatic 
upwelling 

Temperature 

Isobaric heating 

Flux melting 

Fig. 3.1 Three modes of mantle melting: (a) adiabatic decompression melting, rising mantle (shown as adiabat 
curves) intersects the dry solidus at a pressure depending on mantle temperature (b) flux melting due to fluid addi
tion in the mantle wedge; the addition of fluid pushes the solidus to lower temperature and isobaric heating due 
to heating of the base of a static lithosphere. In this case, the is disturbed by due to a plume and 
intersect the dry or wet solidus. The three modes of melting are also illustrated in P-T diagrams. 
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non-dimensionaL F should not be confused 
with the matrix (or instantaneous vol
ume fraction of melt)1 a parameter that is defined 
locally as: 

where V mid< and represent the volume of melt 
and solid matrix, respectively. Melt production 
{in is also an integral It is typi
cally defined at a larger length scale and is often 
defined for a given volcano, or for a arc (01: 

system {in of arcfyearJ and is usu-
ally estimated by calcuLating erupted volumes. 
As shown below, this parameter should some 
way be related to the of melting and to the 
melting rate. 

The rate (r or sometimes denoted -~1) is 
a parameter that has been defined specifically in 
the context of Useries studies 1985), 
because it is usually not accessible via other 
observational methods. It is simply defined as the 
mass of melt produced per unit of volume per 
unit of time (kg m-3 It can be related toP 
the following equation: 

r 

where Psis the solid density. This last tquation can 
be rewritten in the case of melting 
as a function of the mantle 

gWr,, 

where W is the mantle upwelling and f...z 
the depth variation during decompression 

is defined as the melt productivity 
o/o of melt per km of adiabatic decom

nr"'~"''""m (this parameter can also be given as % 
melting per kbar of pressure release). Given 
experimental constraints on the melting behav
ior of suitable mantle the melting 

rate is a function of the mode of melting, defined 
above, and can be quantitatively Jinked to the 
melting process. 

Controls on melting rate 

The of melting and the melting rate are 
not constant between different tectonic se1:tu1gs 
and can be influenced by a number of parameters 
that we shall now describe. 

In the case of mantle melting, the main litho-
is supposed to be lherzolite and the main 

minerals hosting U-series nuclides are 
roxene, garnet and accessory phases if they are 
present. When mantle has been metasomatized, 
hydrous accessory phases such as amphibole or 
Phlo.e:oorte can also be present and can host 

sum:nc;ant amount of U, Th and more 
Ra {Blundy & Wood, 2003). The ... ~·uu•o 

rates of typicallherzolites have been extensively 
studied experimentally & Grove, 1992; 
Hirschmann et al. 1999), while there are fewer 
modern studies of peridotites with hydrous 
phases (Thibault et al. 1992). 

A common assumption, based on 
petrology, has been that melt pnJClttctJcVltJ.es 
to are appropriate for adiabatic decom
pression melting of dry lherzolite (Langmuir et al. 
1992). Asimow et al. {1995) showed 
both theoretically and based on the MELTS 
software that this parameter is not constant 
and that phase transitions for example, should 
induce large variations in the rate of melting. 
Furthermore, melt productivity is mnch smaller 
for melting (Asimow et al., 1997). These 
considerations are particularly relevant here 
because, as highly incompatible elements, U-series 
nuclides are sensitive to the first few 
percent of melting. 

Even in the context of mid-ocean ridge and 
melting, water can have a strong influence 

on A small amount of water (-100ppm) 
can greatly increase the depth of the onset of 
melting and decrease the melting rate and melt 
productivity & Langmuir, 2003). Since 
there are few measurements of the 
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abundance of water in oceanic magmas, these 
effects have often been ignored in the U-series lit
erature (Kokfelt et al., 2003: Bourdon et al., 2005). 
Similarly, the effect of C0

2 
on lowering the 

solidus also needs to be taken into account 
(Dasgupta & Hirschmann, 2007). A distinction 
can be made between the case of arc or back-arc 
melting and intra-plate oceanic islands (e.g. so
called 'wetspots', i.e. the Azores) or mid-ocean 
ridges. The effect of water at the latter setting is 
to decrease the rate of melting (Asimow & 
Langmuir, 2003), while in convergent settings, 
the addition of water overall increases the degree 
of melting and melting rate. This difference in 
the effect of water on melting can be rationalized 
by the very different mantle trajectories and tem
peratures in the two scenarios (Hirschmann et al., 
1999; Kelley et al., 2006). In the case of plumes or 
ridges, any intrinsic water in these upwelling 
sources initiates melting at greater depth than an 
anhydrous equivalent, but the solidus is not 
greatly overstepped. If melting is fractional and 
water supply is limited in the case of ridges, the 
contrast with arc settings is further enhanced. 
However, in convergent settings, the parcel of 
hydrated mantle is initially heated along its tra
jectory, which greatly enhances melting (Kelley 
et al., 2006). In this case, the degree of melting is 
directly related to the amount of water that has 
been added. 

It has been argued also that m:;jic lithologies 
are present in the mantle and greatly influence 
melt production because these lithologies are 
more fertile. As shown by Hirschmann & Stopler 
(1996) or Peterman & Hirschmann (2004), mafic 
lithologies have .lower solidii and considerably 
higher melting rates than peridotites, although 
the magnitude of these effects depends on the 
exact compositions. Fertile lithologies such 
as eclogite may have solidus temperatures 
200oc lower than peridotites, whilst wehrlites 
can start to melt at similar temperatures 
(Hirschmann & Stopler, 1996). Melts from mafic 
assemblages should also have distinctive trace 
element fractionations compared to peridotitic 
melts, as recently discussed by Stracke & 
Bourdon (2009). The picture might be more 

complex if melts from mafic assemblages react 
with the surrounding peridotite (Yaxley & 
Green, 1998). Prytulak & Elliott (2009) invoked 
such a scenario to account for the apparent 
absence of high melt productivities in the 
U-series signatures of some ocean island basalts. 
This in turn contrasts with the work of Sobolev 
et al. (2005, 2007) that argues for a large contri
bution ( 15-80%) of melts from mafic lithologies 
in erupted intra-plate lavas. Such divergent 
opinions require reconciliation. 

U-series melting models 

It was recognized about 25 years ago that U-series 
fractionations observed in mantle-derived rocks 
could provide important clues about melting rates 
(McKenzie, 1985). Since this pioneering study, 
there has been several models proposed for 
describing time-dependent melting processes 
based on U-series observations (Qin, 1993, 
Spiegelman & Elliott, 1993; Iwamori, 1994; 
Lundstrom, 2000; Jull et al.1 2002; Zou & Zindler, 
2000; Feineman & DePaolo, 2003; Dosseto et al., 
2003; Thomas et al., 2002) and several reviews 
(Williams & Gill, 1989; Elliott, 1997; Zou & 
Zindler, 2000; Bourdon et al., 2003; Lundstrom 
et al., 2003; Elliott & Spiegelman, 2003 ). Questions 
we might ponder are: 
• Whether the wealth of models that have been 
proposed are all required; and 
• Whether we could cut down the complexity of 
models to identify key parameters and processes. 
The review of Lundstrom (2003) presents a rather 
complete picture of existing models. In this 
chapter, we focus on melt production and we 
have attempted to extract the basic features of 
the models. 

Two important end-member models that have 
been proposed are dynamic melting (McKenzie, 
1985) and equilibrium transport melting 
(Spiegelman & Elliott, 1993). In the first case, 
melt is extracted from the solid matrix once it 
reaches a given threshold and thereafter the 
matrix porosity stays constant. Extracted melt is 
instantaneously transported to the surface. In 
equilibrium transport melting, by contrast, the 
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melt is in constant equilibrium with the matrix 
and the matrix permeability controls the rate of 
melt migration (Spiegelman & Elliott, 1993). 

Melting rates based on U-series are determined 
in comparison to the rate of radioactive decay. 
The timescale of melting is of the order of: 

r 

The ratio of the melting and radioactive decay 
timescales must be >1 to expect any significant 
'in-grown' disequilibrium (i.e. disequilibrium 
above normal trace element fractionation effects): 

1P,JI > l 
r 

This constraint should be independent of the 
chosen model and we examine here both the 
dynamic melting model and equilibrium trans" 
port model. If we assume that the partition coef" 
ficients are small relative to the degree of melting, 
it can be shown that the melting rates deduced 
from dynamic melting or equilibrium transport 
melting are equivalent, provided some approxi
mations are made. The simplified analytical solu
tion obtained by Spiegelman & Elliott (1993) for 
equilibrium transport melting (assuming rapid 
melt transport) is: J 

where (230Th/238 U}8M.is the activity ratio obtained 
for batch We can write a simplified 
expression for t

1
, the residence time of element i 

in the melting column: 

1 p,I/J+ p(l-p)D t. "' ! s 1 
1 r F + (1- q))D1 

By simplifying the equations in Bourdon & 
Sims (2003) for dynamic melting, we also obtain 
the following expressions: 

These equations confirm the basic intuition that 
excess daughter nuclide is simply a function of 
radioactive decay, element residence times in the 
melting column and melting timescale for both 
models. It should be noted that the approxima
tions made here are rather crude and the two 
models do not yield identical results (Bourdon & 
Sims, 2003). The objective is to illustrate the sim
ilarities in concept. This is further illustrated in 

3.2, where the curves for dynamic and 
equilibrium transport melting are compared. In 
both cases, what controls the magnitude of the 
Th-U fractionation is the difference in residence 
times between U and Th in the melting column. 
In the case of dynamic melting, final disequilib
rium is generally smaller because the differences 
in residence times are only generated near the 
base of the melting column, while they are gener
ated along the whole melting column in equilib
rium transport melting. 

In this context, it is also interesting to consider 
double-porosity models, such as proposed by 
Lundstrom (2000) and Iwamori (1994) or Jull et al. 
(2002). These models include a component of 
equilibrium transport melting and a component 
of dynamic melting and as such represent hybrids 
between these two extremes. If we assume that 
the fraction of melt transport in channels is close 
to one, the model is a dynamic melting, while if 
this same fraction is 0, the model is an equilib
rium transport model. Since the two end" member 
models are conceptually similar (at least for 230Th 
and 231Pa disequilibrium), the value of these double
porosity models is to redistribute the locus of 
production of U-series excesses. 

A somewhat different class of models has 
recently been proposed that relies on the slow dif
fusion of U"series isotopes relative to melt extrac
tion rates (Van Orman et al., 1998). In such 
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1.3 

Fig. 3.2 Comparison of equilibrium 
transport melting (open circles) and 
dynamic melting (solid squares) as a 
function of melting rate. For equili
brium transport melting, the simpli
fied equation of Spiegelman & Elliott 
(1993) was used, while for dynamic 
melting the equation of Williams & 
Gill (1989) was used. Matrix porosity 

0.9 L--~~~~~-'-'--~-~~~~'---~~~~~-'-' was 1 %o, bulk partition coefficients for 
10--6 10-4 10-3 U and Th were 5.3x 10·3 and 2.8 x 10·3, 

respectively. Maximum degree of 
Melting rate (kg.m-3.yr-1) melting was 0.1. 

situations, we need to consider non-equilibrium 
melting models that include the effects of diffu
sion. Several generations of such models have 
been developed (Qin, 1993; Iwamori, 1994; 
Feineman & DePaolo, 2003; Saal & Van Orman, 
2004; Van Orman et al., 2006; B)iurdon &. Van 
Orman, 2009). If diffusion is fast relative to the 
melting rate, these models behave like equilib
rium melting models. Interesting behavior arises 
when diffusion'. becomes a limiting factor, and 
especially if the diffusivities of parent and daugh
ter nuclides are different. In such a case, we can 
consider that the effective partition coefficients 
of U and Th, for example, depend on the ratio of 
diffusion coefficients and that U/Th fractionation 
is enhanced if this ratio differs greatly from l. In 
practical terms, this is the case for 226Ra relative 
to 230Th, but not 238U and 230Th. The diffusion of 
Th4

+ is relatively slow while the diffusion of the 
alkali earth Ra2

+ should be faster, as gauged from 
the chemically analogous Ba. The consequence is 
that 226Ra excesses can be generated by rapid dif-

fusion of 226Ra out of minerals that host the bulk 
oLits parent 230Th (e.g. garnet or clinopyroxene) 
into adjacent minerals (e.g. plagioclase) that have 
an affinity for Ra (Saal & Van Orman, 2004; Van 
Orman et al., 2006). This can lead to large 226Ra 
excesses during disequilibrium melting of such 
assemblages. More applications to the study of 
MORB or OIB melting are given below and in the 
chapter by Van Orman and Saal (this volume). 

IIOW DO WE DETERMINE
THE MELTING RATE? 

Melting rates based on major 
element geochemistry 

Following the approach of Langmuir et al. (1992), 
it is possible to determine a degree of melting for 
mid-ocean-ridge basalts using the simplifying 
assumption that Na

2
0 concentration in the man

tle is relatively constant (-0.3%wt). If the mineral 
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melt bulk partition coefficient for Na during melt
ing is known, we can determine a degree of meit
ing with the following equation for batch melting: 

F = _l __ [Nao -D J 
l-DNa Na Na 

where F is the degree of melting, Na content in 
melt has been corrected for the effect of fractional 
crystallization, Na0 is the Na content of the ini
tial mantle source, DNa is the bulk partition coef
ficient of Na. In the case of mid-ocean ridges, if 
we assume a corner flow (in a melting regime 
with an upper boundary at 45° to the horizontal), 
the melting rater can then be determined. If W is 
the mantle upwelling velocity, the melting rate is 
equal to: 

r = PsWF 
z 

where z is the depth of melting, and p is the solid 
matrix density. For the mid-Atlantic ridge, assum
ing an upwelling rate equal to a typical half
spreading rate of 1 cm/yr, an onset of melting at 
80km and a total of 10% melting, the melting 
rate is equal to -4 x 10-5 kg/m3/yr. As we shall see 
below, this estimate is close to other estimates 
based on U-scries disequilibria. In the case of 
hotspot melting, such an estimate cannot be calcu
lated because there is no simple estirrJi!te of W, the 
mantle upwelling velocity or the degree of melting 
F. The same situation applies to melting at conver
gent margins where no geophysical observable can 
be safely assumed to scale with the melting rate. 

Melting rate determination 
based on U-series 

U-series disequilibria measured in basalts can 
potentially be used to determine melting rates in a 
wider variety of settings. The general principle is as 
follows: prior to melting, the U-series decay chain 
should be in secular equilibrium. During melting 
the various elements found in the chain (U, Th, Ra 
and Pa) will fractionate, one relative to another, 

due to differences in their mineral-melt partition 
coefficients. If the degree of melting is large, there 
is little net fractionation between 232Th and 238U as 
the mineral-melt partition coefficients are small. 
In this case, degrees of disequilibria are primarily a 
function of melting rate and of the porosity at 
which melt segregates. In theory, the system can 
thus be constrained using only two U-series nuclide 
pairs, for example (23DTh/238U) and (231 Pa/235U) pairs. 
As outlined above, there are several possible melt
ing model formulations and so the melting rate 
determinations will be model-dependent. 

Key input parameters for the determination of 
melting rates are the U-Th-Ra-Pa partition coef
ficients. Since Ra and Pa are found to be extremely 
incompatible in typical mantle assemblages, it 
turns out that in most cases, the partition coeffi
cients for U and Th are the most relevant. There 
is now abundant literature on this topic, as sum
marized in Blundy & Wood (2003). As shown in 
Figure 3.3, U-Th partition coefficients for the 
same mineral structure vary by over an order of 
magnitude. Clearly, accurate bulk partition coef
ficients require a good knowledge of the mineral 
compositions involved. Assessing appropriate 
mineral modes to calculate bulk partition coeffi
cients is another issue to address. The abundance 
of U-Th bearing phases, i.e. garnet, clinopyrox
ene, phlogopite or amphibole (or possibly acces
sory phases) is not known a priori but is frequently 
estimated from a generic mantle peridotite com
position. Thus, there remains large uncertainties 
in U-series partitioning at the onset of melting. 

Potentially more problematic in quantifying 
the melting process from U-series measurements 
is that many believe the mantle source to be 
lithologically heterogeneous. As discussed above, 
mafic lithologies melt at a faster rate than host 
peridotite during adiabatic decompression 
(Petermann & Hirschmann, 2003, Kogiso & 
Hirschmann, 2006). This should result in low 
U-series disequilibria in melts from mafic com
ponents. However, mafic lithologies also have 
larger garnet and clinopyroxene modes, which 
affect the fractionation of some nuclide pairs (e.g. 
230Th-238U) in an opposite sense to the effect of 
faster melting rates. Figure 3.4 illustrates the 
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230Th-238U fractionation in a melt from a mafic 
source as a function of mantle upwelling rate. 
Overall, the influence of pyroxenite melts on 
(
230Thj238U) activity ratios of averaged erupted 
melts is relatively limited and does not necessar
ily lead to large 230Th or 231Pa excesses in the melt, 
as argued by Hirschmann & Stapler (1996). 
Nevertheless, it introduces considerably more 
variables (proportion of mafic component, degree 
of melting, melting rate and porosity of melt seg
regation for the mafic phase) in modeling erupted 
U-series disequilibria, which makes extracting 
quantitative information about the melting proc
ess considerably more difficult. On the other 
hand, if the pyroxenite melt reacts with the peri
dotite, as argued by Prytulak & Elliott (2009), the 
U-series signature of pyroxenite melting may no 
longer be detectable in the final erupted melt. 

As raised earlier, the water content of the man
tle source is another important consideration. 
Thanks to the detailed parameterization of 
Asimow & Langmuir (2003), the role of water on 
melting rate can be assessed more precisely. Water 
in the mantle source lowers the solidus tempera
ture, which means that the initial depth of melt
ing in a rising mantle column will increase. 
However, in this context, once the mantle starts 
melting, the melt productivity (and the corre
sponding melting rate) are extremely low. The net. 
effect of water is thus to increase the U-series frac
tionation (i.e: greater 230Th/238U and 23 ~a/235U). An 
additional complexity arises from the type of melt 
extraction. In the case of fractional melting, the 
removal of water from the system will lead to an 
even slower melti~g rate because the melt-matrix 
assemblage will become drier. This will not be the 
case for batch or equilibrium transport melting 
because the removal of water is less efficient. 

Based on this discussion, it is apparent that 
derivation of melting rate based on U-series can 
be rather under-constrained, although under 
favorable circumstances important information 
can be gleaned. Moreover, assessing relative var
iations in melting rates over a limited area, 
rather than absolute values, is a potentially val
uable exercise. This approach is further illus
trated below. Furthermore, sourceheterogenei ties 

can usually be identified with radiogenic 
isotopes such as Sr, Nd and Pb and in this case, 
the effect of these heterogeneities on U-series 
systematics can be assessed at least qualitatively 
(Bourdon et al., 1996, Sims et al., 1999). In the 
end, a combination of various observations 
(U-series, major and trace elements) will provide 
the most robust constraints on melting rates 
(Sims et al., 2002). 

MELTING RATES AND 
GEODYNAMIC PROCESSES 

In this section, we describe how U-series disequi
libria measured in recent lavas have been used to 
determine melting rates in various geodynamic set
tings based on the melting models describe above. 

Linking melting rate with upwelling rates 

Early studies of U-series in mid-ocean ridge and 
ocean island basalts have realized that U-series 
disequilibria were sensitive to mantle upwelling 
rates and thereby melting rates (Cohen et al., 
1993; Bourdon et al., 1996; Lundstrom et al., 1998; 
Bourdon et al., 1998; Sims et al., 1999). For exam
ple, the observations of a relationship between 
230Th excess in OIB and buoyancy fluxes was inter
preted as due to variations in the mantle upwelling 
velocity (Chabaux & Allegre, 1994; Cohen et al., 
1993; Bourdon et al., 1998). Similarly, the increas
ing 230Th and 231Pa excesses as a function of dis
tance to plume center, found by Sims et al. (1999), 
and also by Kokfelt et al. (2003), were interpreted 
as reflecting a radial decreases in upwelling veloc
ities. Since there is no simple method to deter
mine the upwelling velocity of mantle at 
intra-plate settings based on geophysical observa
bles (as the relationship between buoyancy flux 
and upwelling velocity is also a function of excess 
temperature which is also unknown), the U-series 
observations at hotspots provide a potentially 
important tool to look at the thermal and velocity 
structure in mantle plumes. 

Bourdon et al. (2006) showed that both 231 Pa 
and 230Th excesses correlate negatively with 
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buoyancy fluxes and that this trend could be 
explained by variations in mantle upwelling 
velocities as buoyancy fluxes are proportional to 
W2, although this negative array is pinned by the 

Hawaiian plume at one end and ridge
centered plumes at the other. In addition, U-series 
data indicate that mantle plumes with large buoy
ancy fluxes seem to have higher excess tempera
tures. As shown by Bourdon et al. (2006), these 
observations are consistent with the idea that 
smaller plumes experience more cooling during 
their rise through the mantle, as inferred by 
Albers & Christensen (1996). 

Such gross trends should not hide the complex
ity of mantle melting and, in some cases 
Azores), the presence of water or of more fertile 
components can obscure the simple U-series sys
tematics (Bourdon et al., 2005). For example, the 
presence of water will slow down melting in the 
first increments of melting only near the center 
of the plume and the net result will be to lower 
the contrast in 230Th excess as a function of radial 
distance. While several plumes do show clear 
U-series systematics as a function of radial dis
tance (Sims et al., 1999; Kokfelt et al., 2003), oth
ers such as Pitcairn or the Canaries do not 
(Thomas et al., 1999; Bourdon & Van Orman, 
2009; Lundstrom et al., 2003). In both of these 
cases, melting of the lithosphere has been invoked 
and this will complicate the U-series systemat
ics. A more extensive discussion <!J lithospheric 
melting is given below. 

For mid-ocean ridge basalts, Bourdon et al. 
(1996) observedthat 23DTh excess were correlated 
negatively with the axial ridge depth and inter
preted this observation as a result of deeper melts, 
erupted at shallower ridges having a stronger gar
net signature (i.e. larger 23DTh excess). A depth 
dependence of U-Th fractionation can also be 
accounted for by the increasing Du f DTh of clinopy
roxene with pressure (Wood et al., 1999, Landwehr 
et al., 2001). Interestingly there was no obvious 
spreading rate dependence on the global dataset, 
which seemed consistent with theoretical argu
ments made by Richardson and McKenzie for a 
two-dimensional melting A more recent 
compilation of U-series disequilibria in MORE by 

Elliott & Spiegelman (2003) shows little correla
tion of (23DTh/238U), and more importantly of 
(231Pa/235U), with spreading rates. Samples derived 
from actively upwelling mantle (i.e. moving faster 
than dictated by plate spreading rates), however, 
should plot below the 23% excess vs axial depth 

as could be the case for Iceland (Bourdon 
et al., 1996). 

In contrast, Lundstrom et al. (1998) emphasized 
aspects of the ~10Th-238U disequilibrium in MORE 
(namely the slope defined by individual localities 
on an 'equiline' plot) that seemed to be controlled 
by ridge spreading rates. In detail, Lundstrom 
et al. ( 1998) modeled this effect using an equilib
rium porous flow model and mixing melts from 
two sources (of mafic and peridotitic composi
tions respectively) with different melting proper
ties as discussed above. More complex, double 
porosity models have also been used to account 
for negative trend between 226Ra and 230Th excess 
found in the East Pacific Rise. These models 
involve a combination of porous flow at grain 
boundaries and channel flow (Lundstrom, 2000; 
full et al., 2002; Iwamori, 1993). While these mod
els can explain the data, Stracke et al. (2006) 
illustrated that a simple dynamic melting involv
ing explicit consideration of melt transport times 
could also account for these observations. Thus 
some of these inferences are model-dependent. 

Melting beneath arc volcanoes 

The melt production beneath arc volcanoes is 
controlled by a radically different set of parame
ters compared to hotspot and ridge melting. The 
release of water from the subdueted slab lowers 
the solidus temperature of the mantle wedge, 
thereby causing its melting (Figure 3.1). Beyond 
this relative picture, there are still many 
outstanding questions regarding the exact proc
ess of melting in the mantle wedge. We initially 
outline the main hypotheses that have been for
mulated in the literature. Given that the depth to 
the surface of the slab beneath arc was thought 
approximately constant, melting was inferred to 
be controlled by a pressure-dependent reaction 
(Gill, 1981 ). In this case it has been suggested that 
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the breakdown of amphibole was the main trigger 
for mantle melting (Tatsumi, 1986). However, 
later work by Schmidt & Poli (1998) emphasized 
that the loss of water occurred all along the sub
duction of the slab in the mantle. A more recent 
study by England & Wilkins (2004) (see also Abers 
et al., 2006; Grove et al., 2009) argues for a tem
perature control of the position of the arc. Another 
hypothesis has been that melting should be 
viewed as a flux melting process whereby the 
dehydration leads to continuous melting of man
tle overriding the slab (Thomas et al., 2002). In 
this case, the narrow zone of volcanoes along the 
arc would be due to an efficient focusing of melt 
to the active arc region. More recently, seismic 
observations beneath Japan (Tamura et al., 2002) 
and the modeling work of Gerya & Yuen (2003) 
has suggested rising diapirs due to the buoyancy 
of the subducted sediment in the mantle wedge. 

An exact delimitation of the melting zone 
inside the mantle wedge has also proven difficult. 
As argued by Grove et al. (2002), there could 
be two zones of melting, the hydrated mantle 
above the wedge and the ascending hot astheno
sphere between arc and back arc region, as has 
been shown in numerical models with tempera
ture dependent viscosity. This brief overview 
clearly illustrates our lack of understanding of 
even the fundamental style of melting in the 
mantle wedge. 

From the' U-series viewpoint, ~e melting 
beneath arc volcanoes is still a very active area of 
research and several models that fit more or less 
rigorously the various possibilities outlined above 
have been proposed. First, it has been clearly 
shown that both 238U-230Th and 226Ra-230Th dis
equilibria are dominated by a slab 'fluid' signa
ture (see review in Turner et al. 2003 and chapter 
by Turner and Bourdon this volume for detailed 
arguments). Although the experimental evidence 
is not so clear-cut, it is generally thought that 
U (especially if it is in an oxidized form) will 
partition preferentially in a fluid phase compared 
with Th. As shown by Kessel et al. (2005), these 
simple systematics break down at higher pressure 
and temperature when fluids become supercriti
cal. More recently the importance of accessory 

minerals such as allanite in controlling the U-Th 
'fluid' fractionations, rather than the nature of 
the 'fluid' itself, has been stressed (Klimm et al., 
2008; Hermann & Rubatto, 2009). In principle, a 
'fluid' signature derived from an allanite bearing 
slab (Hermann, 2002) should be characterized by 
large 238U and 226Ra excesses. 

In contrast with U-Th disequilibrium, the U-Pa 
systematics in arcs reveal a clear melting signa
ture as they generally show a large Pa enrich
ment, despite being affected in parallel by a slab 
fluid signature. It can be argued that the melting 
signature in this case overwhelms any previous 
235U enrichment relative to 231Pa. Thus, U-Pa sys
tematics in arcs have been used to investigate 
melting processes at subduction zones (Bourdon 
et al., 1999, 2003; Thomas et al. 2002; Dosseto et al. 
2003; Turner et al, 2006; Huang & Lundstrom, 
2007). In principle, U-Pa systematics can be used 
to determine melting rate, although the difficul
ties described above in constraining melting rate 
even in the OIB case, where the melting process 
is better understood and all measured disequi
libria can be related to melting, should be borne 
in mind. 

A key observation is that the melting rates 
cannot be too slow if the slab-derived fluid signa
ture witnessed by 226Ra excesses is to be preserved 
(unless the different disequilibria are generated 
by the independent components that contribute 
to arc volcanism). This consideration enables 
some bounds to be placed on melting rates in 
arcs (Bourdon et al., 2003 ), as melting rates also 
need to be of the order of I0-4 kgjm-3/yr or lower 
to produce significant 231Pa excesses. The exact 
parameter controlling the melting rate is still a 
matter of debate. Turner et al. (2006) have argued 
that the melt production is directly linked to the 
convergence rate of the subduction zone, as 231 Pa 
excesses in a compilation of arcs showed a very 
broad negative array with convergence rates. 
However, the slope of this array is pinned by the 
rather anomalous Kick 'em Jenny volcano (a 
highly unusual alkalic arc volcano in the Lesser 
Antilles) and nearly the full range of 231 Pa exce
sses are evident in individual arc suites at loca
tions with constant subduction rate (Huang & 
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Fig. 3.5 Effect of water on 238U-230Th melting systema
tics as a function of water content in the source in ppm, 
based on the parameterization of Asimow & Langmuir 
(2003) and the modeling approach of Bourdon et al. 
(2005) The modeling is based on dynamic melting with 
variable melting rates. The matrix porosity is 1 %o and 
the partition coefficients for wet and dry melting are 
those used in Bourdon et al. (2005). The curves are 
labeled with the upwelling rate in em/yr. 

Lundstrom, 2007). The basic concept underlying 
these studies is that the melt production simply 
follows the progressive heating of hydrated man
tle as it is being dragged downward by the slab. 
This implicitly assumes that tpe coupling 
between wedge and slab is identical everywhere. 
Alternatively, we could consider that the rate of 
melting reflects, the rate at which the slab gets 
heated and loses, fluids by continuous dehydra
tion. This would then be consistent with the 
model of flux melting proposed by Thomas et al. 
(2002), whereby the rate of fluid addition controls 
the rate of melting. However, the model proposed 
by Thomas et al. (2002) was based on a significant 
mobility of Pa in fluids, which is not supported 
by ,evidence from the low-T Pa chemistry, 
although high P,T fluids need not have the same 
properties (Kessel et al., 200.5). 

Another source of information about melting 
rates could possibly come from 230Th-238U system
atics (Figure 3..5). If U-Pa systematics are affected 

by melting, so too should 230Th-238U fractiona
tions. The relative partitioning of U-Th and U-Pa 
and the half-lives of Th and Pa are not identical 
but we can predict that melting should modify 
the slope of the U-Th array in the equiline dia
gram (Turner et al., 2003). A slow melting rate 
will lead to a steep slope in the U-Th isochron 
diagram, while a large melting rate will only 
increase the slope of array slightly. If the melting 
is relatively slow, then the slope of the array 
records the in-growth of 230Th following fluid 
addition during the melting process. An alterna
tive interpretation could be that the slope of the 
array in the U-Th isochron diagram is mostly 
controlled by the time since fluid dehydration 
(Figure 3.6) and this would provide little con
straint on melting rate. 

This discussion illustrates some of the current 
dilemma in the interpretation of U-series in arc 
volcanoes. There is still ambiguity due to an 
incomplete knowledge of the underlying melting 
processes, partitioning behavior in the subduc
tion zone environment and the relative roles of 
slab additions relative to melting effects. The 
diversity of geodynamical models precludes 
straightforward interpretations. 

Melting rate due to lithospheric heating 

In some intraplate settings, it has been argued 
that melting of the base of the lithosphere 
can play a significant role in magma genesis 
(Class & Goldstein 1997; Class et al., 1998). Such 
lithospheric melting is rather distinct from 
adiabatic decompression melting. A classical 
example would be a mantle plume that heats up 
the base of the lithosphere and therefore causes 
isobaric melting (Gallagher & Hawkesworth, 
1992). In this case, the rate of melting depends 
on the rate of vertical heat transfer as well as 
the velocity of plate motion that controls the 
timescale over which this external heat source 
is applied to the base of the lithosphere. If the 
base of the lithosphere has been previously 
metasomatized, then melting of a hydrated 
lithosphere will be facilitated by a lower solidus 
temperature. 
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Fig. 3.6 U-Th fractionation in subduction zone setting. (a) Classical interpretation of 238U-WlTh fractionation in con
vergent margins. The enrichment in 238U is due to fluid additi.on and the slope of the data array in the U-Th equiline 

is the age since fluid addition. ib) The fluid addition produces a horizontal vector that is then modified by 
melting processes. The slope of the array is a function of melting rate and down-welling rate (here given in cmfyr). 

The study of U-series disequilibria can provide 
additional into lithospheric melting as: 
• The extent of U-series nuclides fractionation is 
again sensitive to the melting rate; 
• The direction of 226Ra-230Th fractionation may 
be sensitive to the presence of hydrous phases 
such as phlogopite or amphibole (Claude-Ivanaj 
et al., 1998). 
Following the earlier work of Class &. Goldstein 
(1997), Claude Ivanaj et al. (1998) 4!vestigated 
U-series systematics of the Grande Co more island 
and found a clear difference in the U-Th-Ra data 
for the Karthala and La Grille volcanoes. Based on 
isotope and trace element analyses, Class &. 
Goldstein (1997) had concluded that the La Grille 
lavas showed clear evidence for lithospheric melt
ing and further argued for the presence of amphi
bole in the source of La Grille. Interestingly, 
recent la Grille lavas also exhibited smaller 226Ra 
excess and this was attributed to the influence of 
residual amphibole, which should preferentially 
retain Ra relative to Th. 

Studies of continental basalts in the southwest 
United States by Asmerom et al. (2000) have sug
gested that lithospheric melting leads to large 
2.' 1Pa-235U but small 230Th-238U fractionations. The 

large 231Pa excesses were attributed either to a 
very small of melting (0.1% range) or to 

chromatographic exchange during melt percola
tion through the lithosphere. If this occurs within 
the spinel stability field, only modest 230J'h-238U 
fractionations would be expected. Fittingly, melts 
from the same area, inferred to be derived from 
deeper, garnet-bearing asthenosphere, have much 

230Th-238U fractionations. 
More recently, a study of Pitcairn seamounts 

by Bourdon&. Van Orman (2009) has shown that 
the Pitcairn lavas can be explained by a mixture 
between lithospheric and plume-derived melts. 
Strikingly, the lithospheric melts are character
ized by 226Ra deficits that have rarely been 
observed in other settings. The presence of a sub
stantial amount of water in the lavas, coupled 
with an unusual Nb/La fractionation was used to 
argue that the 226Ra deficits are due to the pres
ence of phlogopite in the source, as Ra is more 
compatible than Th in phlogopite. Furthermore, 
the presence of 230J'h excesses indicates a garnet-

source and in this case, most of the 226Ra 
budget must have been initially hosted in the gar
net that holds most of the 238U in the rock. Prior 
to melting, diffusion of Ra from garnet to 
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phlogopite will lead to a large enrichment in Ra 
in the phlogopite. Modeling by Bourdon & Van 
Orman (2009) demonstrated that, depending on 
the melting rate, the aggregated melt can have 
either 226Ra excesses or deficits. In this special 
case, the melting rate of the lithosphere can be 
further constrained by 230Th-238U disequilibria 
and shown to be consistent with conductive heat
ing of the lithosphere by the underlying mantle 
plume. It is possible that a similar scenario of 
lithosphere heating and relatively slow melting 
could also explain the observations of Asmerom 
et al. (2000) in the southwest United States. 
Interestingly, the resulting melting rate is not 
greatly different to that produced by adiabatic 
decompression melting. 

POROSITY OF THE 
MELTING REGION 

Observations of U-series disequilibria in mid
ocean ridge and ocean islands basalts also provide 
key constraints on the porosity of the melting 
region. As U and Th are both highly incompati
ble in mantle minerals, the existence of excess 
230Th, 231Pa and 226Ra in erupted lavas puts some 
rather tight bounds on the porosity of the melt
ing region (McKenzie, 1985; Williams & Gill, 
1989; Spiegelman & Elliott, 1993). A simplified 
treatment · ,of dynamic melting .derived by 
McKenzie (2000) shows that the adivity ratio r 
in the melt can be approximated with the follow
ing equation: 

1 + Dparent / <1J + (rdaughter / 0 693r ) r = 1/2 . melt 

1 + Ddaughter / <1J + (rdaughter / 0 693r ) 
1/2 · melt 

where r1a1~ughter and r 
1 

are the mean life of the 
~ met 

daughter nuclide and the residence time of the 
melt, respectively. This equation shows that an 
excess of the daughter in the melt can only be 
significant if Ddaughter (the solid/melt partition 
coefficient for the daughter nuclide) is distinct 
from DP•rent and if Dparent is sufficiently large rel
ative to the matrix porosity <D. In particular, in 
order to explain the relatively large 231 Pa and 

226Ra excesses in MORB (Rubin & MacDougall, 
1988; Goldstein et al., 1993) and OIB (Oversby 
& Cast, 1968; Pickett & Murrell, 1997), the 
matrix porosity in the melting region has to be 
of the order of a few %o. Clearly, a porosity of a 
few % would be too large. In the context of 
dynamic melting, as melt has no further inter
action with the solid once it is extracted, the 
matrix porosity would have to be low only at 
the base of the melting region where a signifi
cant fraction of uranium is still residing in the 
solid matrix. Above that region, the matrix is 
so depleted in uranium that it should have lit
tle influence on the U-series disequilibria in 
the melt. 

The inferred matrix porosity for the melting 
region has major implications for our understand
ing of melt extraction processes (see also chapter 
by Turner and Bourdon, this volume and O'Neill 
and Spiegelman, this volume). 

CONCLUSIONS 

Conceptually U-series disequilibria offer an 
attractive means of investigating melt production 
in y~rious geodynamic settings, as they place 
constraints on aspects of melting not probed by 
more traditional tracers. As illustrated in this 
chapter, some of the expectations have already 
been fulfilled but large areas still remain obscure. 
Unfortunately, the information we can extract 
from U-series disequilibria is model-dependent 
and the parameters required to provide clear-cut 
solutions to the melting scenarios are rarely 
available. 

An outstanding constraint derived from 
U-series studies is that the matrix porosity dur
ing mantle melting is of the order of a few per
mil, which is significantly smaller than 
previously thought. The studies of hotspots also 
illustrates significant variation in melting rates 
that are probably relative to variations in man
tle upwelling. These melting rates increase 
with the size of hotspots and generally, the 
melting rate at the center of hotspots is faster 
than at ridges. 
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Our understanding of melting at convergent 
margins is still imperfect and critically depends 
on a better knowledge of partitioning behavior of 
U-series nuclides between fluid, melt and solids. 
As an area of active research, more progress is 
likely to arise in the next five years. 
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SUMMARY 

Melt migration from a mantle source to eventual 
eruption may involve a variety of processes operat
ing over a range of scales. For instance, melt ascent 
begins with grain-scale interactions, which, for 
larger fluxes may be described by permeable flow. 
Field evidence demonstrates that melt eventually 
coalesces to forms vein or dyke networks, which 
may rapidly ascend and be erupted, or be emplaced 
at depth, where they may feed into crustal magma 
chambers. A variety of mathematical formulations 
exist to describe these processes at dijferent scales, 
and this contribution draws these diverse 
approaches together to form a framework for quan
tifying magma ascent from source to surface. 

INTRODUCTION 

The migration of melt from its source zone is a 
critical process for surface volcanism, crustal for
mation and differentiation. However, the detailed 
processes involved are in many ways still poorly 
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understood. One reason for this is the large range 
of scales that melt migration encompasses, from 
the grain scale to the emplacement of plutons. 
Whilst the field evidence may be equivocal for 
the relative importance and interactions of these 
processes, many formulations exist describing 
the different aspects of the melt ascent system. 
The key to developing a quantitative understand
ing .of melt migration processes is to develop 
numerical models of the highly non-linear cou
pled equation sets describing the dynamics of this 
fluid-solid system. Fundamental to this, though, 
is having a mathematical formulation of the 
problem wee want to model. The purpose of this 
contribution is to bring together a number of 
these formulations for modeling magma migra
tion, and discuss their implications for the ascent 
of melt from its source to its final emplacement. 

Melting initiates with supersolidus melting of a 
heterogenous mineral assemblage, either in the 
mantle or crust. Whilst the details of this melting 
process are not the primary concern here, U-series 
disequilibria have shown that this incipient melt 
migrates from its source at very low melt frac
tions, and so the discussion of melt ascent begins 
with physics of grain-scale melt migration and 
interaction. At the macroscale, this interstitial 
flow leads naturally to a permeable flow formula
tion for melt migration. Such formulations have 
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been widely adopted to melt migration in 
the mantle 1984), with particular focus 

systems (Scott & Stevenson, 
1989; 1996). We will present and dis
cuss one of the better formulations, 
known as the 'McKenzie Equations' (McKenzie, 

However, field evidence illustrates that per
meable flow is not a complete description of melt 
migration, as partial melt generically coalesces to 
form networks of veins (Sleep, 1988), and at a 
critical which are of rapid 
ascent via fracture propagation (Rubin, 1995). 

dykes may erupt or be emplaced at 
depending on their buoyancy, flow rate and tem
perature. Alternatively, they may feed into crus
tal magma systems, such as mid/upper crustal 
magma chambers. Such magma chambers may 
produce a more mixed magma supply for a vol
canic plumbing system and erupt or, 
depending again on their temperature, composi
tion and overpressure, they may in emplaced at 
depth (Burov et 2003). Another alternative is 
that partially molten plutons may be able to mig
rate to shallower crustal levels. The mechanism by 
which this very large-scale ascent occurs is con

and proposed mechanisms include dia
pirie ascent, ballooning continual magma 
supply, dyking/stoping or tectonically-related 
migxation (Weinberg & Podladchikov1 

Here we review the most commonly imple-
mented formulations of these processes, 
with a numerical 

(a) 
Solid 

Emls 

implementation. Wh;;;re numerous 
tions exist, we have generally for the more 
widespread, or easily understood. We also 
review the implications of the models for the 
dominant physical processes, major bottlenecks 
for migration, and ascent rates. 

GRAIN-SCALE PROCESSES 

crete microscopic JJV'"'"-';'"· 

eventually these discrete 

forming dis
melt fraction 

of melt 
will interconnect, a network and thus 
allowing the melt to migrate uu.v"''"'" 

The point at which this occurs net only 
on the melt fraction, but also on the way in which 
melt is distributed along the boundaries. At 
this the distribution of melt along the 
aeJperlas strongly on surface tension and 

the melt may either minimize its volume 
due to its own surface tension and form small 

on the grain boundaries, or it may do the 
nmr>n<:itP and spread out like a film (Cheadle et al., 
2004; Laporte & Watson, Historically, this 
effect has been encapsulated in a parameter called 
the dihedral Laporte & Watson, 
1995). For low dihedral angles (e < the melt 
spreads out and interconnects, whilst for large 
dihedral the melt tends to pod. In the latter 
case, melt cannot form an interconnected network 
and migrate from the source until a large melt 

Fig. 4.1 The effect o.f the dihedral 
on the distribution of melt on 

grain boundaries. The dihedral 
set by the surface energies 

between the melt and the grains 
and the grains themselves 
ft is defined as cos( 8/2) ~·· 

(b) Distribution melt if 
angle is <60° Meh 

forms an interconnected network 
at low melt whereas (c) 
shows the distribution of melt for 
dihedral angle >60°. The dihedral 

for melt coexisting with oliv
ine is <50°. See l'latc 4.1 for a colour 
version of these images. 
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fraction is reached. For an olivine-melt system, 
experimental evidence suggests that the dihedral 
angle is <-50°, allowing melt to migrate at very 
low melt fractions (Daines & Kohlstedt, 1993). 

Hier-Majumder et al. (2006), following Bercovici 
et al. (2001) and Ricard et al. (2001), explore the 
effect of grain boundary tension of the distribution 
and migration of melt in a two-phase composite. 
Generally, they find that strong tension on the 
grain-melt interface tends to result in a small 
dihedral angle. This implies a well-connected dis
tribution of melt and high permeability. However, 
Hier-Majumder et al. (2006) suggest that in this 
case melt may be retained in tubules along grain 
junctions due to capillary action, leading to some
what inefficient melt extraction and the decay of 
melt pulses during ascent. In contrast, they sug
gest that aggregates with large dihedral angles may 
in fact give rise to self-separation of the melt from 
the matrix due to strong grain-melt tension effects. 
They also found the behavior of melt was strongly 
dependent on the 'disaggregated melt fraction' -
the melt fraction at which the grain boundaries 
were completely wetted. In addition, since the 
dihedral angle depends on the minimization of 
surface energies, they also show strong tempera
ture and pressure dependence (Holness, 1993). 

For mantle melt migration, the physics of the 
grain-scale processes reduces to the situation 
where very small incipient melt fractions can 
form an interconnected network due ~ their low 
dihedral angle, consistent with U-series con
straints (see Turner and Bourdon, and Bourdon and 
Elliot, this volume). At this point they will migrate 
by porous flow from their source region, and the 
mathematical basis for this is developed next. 

POROUS FLOW IN A 
DEFORMABLE MEDIA 

Formulation · 

At a macroscopic scale, the complexities of grain
scale migration reduce to a description of porous 
flow of a liquid through a permeable but deform
able solid matrix. The problem has a long history, 
and one of the fundamental, and widely adopted, 

equation sets wa.s produced by McKenzie (1984). 
In its basic form, it considers the macroscopic 
conservation of mass, momentum and energy for 
coexisting liquid and solid-matrix continua. As 
derived by McKenzie (1984), the equations reduce 
to a coupled system for viscous mantle deforma
tion by Stoke's flow, and porous flow as per 
Darcy's law for the fluid. The mass and momen
tum conservation equations can be written as: 

aPs(1-1>) + v- [g (1-if>)v ] = -r at s s 

K 
¢(v1 - vJ = --[Y' P- Ptg] 

f-1 

Here pi' Ps are the solid and fluid densities, if> the 
porosity, v

1 
and V

3 
the fluid and solid velocities, r 

the melting (or crystallization) rate, K the perme
ability, f-1 the melt viscosity, P the fluid pressure, 
g the gravitational acceleration, 1J and t; the shear 
andbulkviscositiesofthesolid, and p = p1¢ + Ps(1-¢) 
the mean density of the solid and fluid phases 
(Spiegelman & McKenzie, 1987). 

The first two equations describe the conserva
tion of mass for the fluid and solid, respectively. 
In contrast to the simple incompressibility con
strain generally applied in mantle convection 
simulations (Moresi & Solomatov, 1998), here 
the solid mass can diminish in size as the poro
sity (and hence melt) increases, and the rate at 
which mass is converted from the solid to fluid 
phase is governed by the melting rate r. The third 
equation is a modified form of Darcy's law, 
describing the separation of the melt from the 
solid. The rate at which this separation proceeds 
depends on the permeability K, and the pressure 
gradient available to drive fluid flow. The equa
tion above is the momentum equation for the vis
cous matrix, assuming it is inertia free (i.e. Stoke's 
flow) and in this case compressible. 
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Constitutive relationships 

The system of the four equations above possess 
inherent non-linearities giving rise to complex 
dynamical behavior. This non-linear complexity 
arises primarily due to constitutive relations of 
the permeability, and the shear and bulk viscosi
ties T] and t;. The permeability is generally 
assumed to be some function of the porosity </J, 
and in most cases is modeled by a simple power 
law relationship, i.e. K = a~n, where n = 2-5, and a 
is a proportionality constant. 

The bulk viscosity describes how a material 
resists volume changes, and so should trend to 
infinity for an incompressible material (as 
assumed for the solid matrix). However, in the 
case of porous flow, the bulk viscosity is a prop
erty of the solid-fluid aggregate, and is generally 
assumed to be of a similar magnitude to the shear 
viscosity. The shear viscosity of the solid, T], is 
not only a function of temperature and strain
rate, but also of porosity in a two-phase situation. 
Detailed constitutive relationships for permeabil
ity, shear and bulk viscosities are still somewhat 
lacking, and these parameters are often assumed 
constant or to vary in a simple well-defined man
ner for most cases (Spiegelman, 1993a). 

Porous flow examples 

Magmatic solitary waves 

One of the ~ost interesting physicafimplications 
of this melt transport formulation, is that they 
predict magma solitons - non-linear porosity 
waves, which propagate faster than the melt 
(Scott & Stevenson, 1984). Though these do not 
transport the melt ,themselves, they may impact 
on fluid pathways, and so are important in any 
discussion of porous compaction driven flow. 

The equations above allow for the matrix to 
either compact as a result of melt flux out of an 
element, or dilate to allow melt flux into a local 
area. Since the relationship between porosity and 
permeability is a power law, this introduces a 
non-linearity into the migration of porosity 
zones, and thus the equations support non-linear 
porosity waves, or magma solitons. As an exam-

t=O ....... f..: .. ~ ...................... . 
......................... ....... S p=0.2 

t=2=ts =·· ........................ _ ....................... .. 

Fig. 4.2 Schematic of the evolution of a non
dimensional solitary porosity wave, for an induced 
porosity contrast of l.O to 0.2. The porosity distribution 
evolves into a shock front at t, (in reality, the viscosity 
of the matrix prevents a true shock wave from forming). 
This viscous resistance causes a dispersion of the shock 
front, resulting in a series of porosity waves. 

ple, the dimensionless pressure-based version of 
the four equations above (Spiegelman 1993b) can 
be written as: 

These assume the limit of small porosity (</J << l); 
no melt production (r = 0), constant 11 and 1;, = 1, 
and again assuming the permeability K = </J11

• 

These coupled equations give rise to non-linear 
solitary waves in one, two- or three-dimensional 
simulations. The equations are valid for a near
static solid, except for a small compressibility on 
the order of the porosity. The waves propagate 
over a low uniform porosity background, with a 
constant speed (i.e. constant phase velocity) and 
fixed form. An example is shown in Figure 4.2. 

The speed of porosity waves depends on the 
relationship of porosity with permeability, and 
the viscous resistance of the matrix (Spiegelman, 
1993b). For most commonly used power-law per
meability relationships, dK/d</J is positive, and so 
melt flux variations will steepen into non-linear 
waves, or even porosity shocks in the absence of 
viscous effects. However, as noted, the porosity 
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fig. 4.J f'l)!'l':-.lty :md fluw·lin(.'S ior L\o;o m:.d. 
<Jceal1 ridg~ ruf•d~l~. •::•) Aso;ur.1..:t~ purdy plaLe 
driven flCI\''· V\01tiLe l~n~~ rt:pre~el\t n:;mtl~ ~l<.1v..· 
lines., bl~<:.k lin~s. re~'IC~ent uteh flow lint:-.. ll•l Fl..lT 
luwCT >-hhT \'i.'I<:I)S~t}': btlCIY:ll~('.)' of Lhc. Jlldl C<UJ 

donlir~W LhC flow field, resulLln.r, m a tnCu!.ed 
bie,hec v!S..:.<l.'iiq• beue:lth th~ nt4.:c c•.rc.=:;t. Th.c 
bm.l)'an>:}• num.b•;r R, which denote~ !he r~l;.Li\·eo 
..:mthibl\liun <•f l:uuya:n:)' and platt:-<!!ill<'Tl tlm•.o, i'Jo 
0.?1. :~ the p]~t~~·chh•c:n ~v·w c~sc, <lJtd 169 ln. th~ 
l,~ll.)y<:.ucy Wi ·;E:!l HQw l,;,l,~t: (umditit:U tmm 
Spi\~gl:lman, 199<•). &ee l'lillC 4.3 for a colou: 
vt:r)j:(ul G( tht:Ht: ·j rm;,~e~. 

a n.2 o.4 O.ti 
t'O('(J$ily (~:;,) 

0 0.5 i.O 1.(1 
Porosity (%j 

W'"res travell~s,., rh~n the melt, ~nd so do llC>l 
transport 1ndt themsclv~s. Th.is comyl~x puro~
ny hehavior, howcvt:r, i.i.npin~~s on fluid flnw 
p:Hh~ and., potentially, the rates .~L which tln~d~ 
ilow through the background pur<,.ity field. 

r\ ,•,tricl:y or nunu~rk.aS implern~nlation:; ( nr 

thjs phennfnen'"m cxi~l, :tnd futth~r detai lA $l(e 

pmvided in Spiegclm:·lfl \ 1.99acJ., R.~rcilon ?k 
Richter i 19Sti) ru><.l Wiggins & Spicgclman.ll99SI. 

Sriegelrnan (1996: and ScotL & SLe,:en~on jJ9R6, 
19891 di""'" the phy•ies o1 melt extraction 
belle;.~th a m id-occan ridge. One nf the mo~t 
impOf(iUll quesl ion$. tor l\o10lt meh lr~nfipnrt, 1~ 
ho\'' rudt, v.-!UcL. j$ lJt<.l<f uted in a \;ide rndtirJ.& 
zone b~ntath the rid~e swdl, ls fu<.:w:>t·U benct1th 
the rit\ge $.0 that it erupts \o,·ithin -·llan of tht· 
ridge crest ISpi<gdman, 19.96; Buclt & Su, 19R9; 
. Sparks & l'am,.litier, 1991). 

'J\.,To mec::h:H\iSrl'l~ contnhu~£ lO me(L focn!=ling 
hen~ath <\ ridg~ .. sh~a< induced by Lhe Ol.rezrid.h\e; 
pLate 1notjons, an.U shear due to the buoyancy of 
the 1ndt. In the cttst: uf n~:~~ible melt UuO}'Hncy, 
flow hi eSSl.'Ilt~dh 8 l~Ofllt:.r·t~fi \l~ll f!IJ\'1.'1 :t!=l !=~hOwrl 

iu. Flt•1•e 4.~L l.argt~ ~heM is indu.::.ed in Lht:: '\(I~ 

cou~:e uwtrix by pk•te m.otion:s, 't\,.hid1 ..:r~.-.1 e~ pr~~
surc gr~~~licnts dtt~t focus tndt fiu\•i. llOY\'~· .. .er, ii 
r.hc plate motion!:i \ol' ,.;~cositit·~.l ar.:.: lllwt:(. th<.:n 
v:tri~i. lnn~ in me~r Cotl Lent can re~ult in bnu~t.ancy 
dti\:en lln\ .. T b~neath Lhe r~dg<!, lo~lL~ing melt 
b<:u.eo•Lh 1..hc- rid~,e ..,;r~s.t. 1 1erf' Lhe low density of 

the roell, and the mel• residuum, rel"ti ve to lh< 
••sthcno:,phe-fe, rt'Slllt jn larg~ UuO)'mt<.:y for~e~ 
bt:ncath the ri<l~l! ~;rc~t where most ln<:!Hug 
occurs, :!riving a nutch fa!;tcr upwdHng ~\iti.:cc:ly 
hcncath the riUg.::, f.;cu..:;ing thi.: mel c column 
(.SoN.t & Steven.cm, ll>i\9). Spiegelman il9961 
argue::; on the hasis on stable trace ~lem~nt ~re
dicLions that lnl(lyancy ·driven flow mu::;L hav~ 
Jim.iccd cit,·.t.·c in rc~l-world MOR syst~n1s. 

The r .J.i~ ot me 1 L exLraclio11 beneatll a ·M()J{ is 
limited by the ;:otal melt fraction reached, rotd 
the melt producth·ity- which is a factor of nun. 
tlc tcmpcr<~tt•r.; and upwelling \'dodty. l-:1.~;K~nzic 
(19K4~ ..:stinliu.:.:d the extraction ti1tc for ~irupk· 
matrix cumpacLion tu be -·1 em .• •' ~· r ior poro~itics 
of ;tround ~·3%. s~ismic ~ttldic~ of IvlOR S)'StWlS 

covstratn the regional n1,elt. fraction::; ffl be <-·3% 
·: l:orsyd·. et .. rl., J 99S;•, .~n (hi~; •~ .~ re~.sonahle cst1-
uJat<.: fur the z~lte M which poron~ flow ~11 a:he 
tnatrix feeds into highet p~trne8bilil)' c.h~•~ ne]e. . 
Olwiuu::ily, flow w lthio lhe cll.<Hll'IP.Is t11em.seh:es, 
which hi!Vt: a 10\ICh highc:r l0l~.1l ll!tlt rr:tcLkul, 
will b~ sign i lio•nlly lngl,.r. 

De•.~eloprnenf of shea1· l'<JJ:ul.:; 

Katz e.r <1J: ('l006lllt:~c• ib•; tl.t: fnnn:~t.lnn of ru.::l L 
shear ban:l~ in ~l m~ltix. with V:(ri:thle shear 
\"i.::.cosity. Iu thi::i Ci1S.e melt pJ:oductjon and tmuy. 
auq• .uc set to z.:.:ro (r ~ 0, ).~ ~ 01. Th~ vi.::.co::;\(y 
js <leJ~endent on both th.c strain rat<.' ~wd l·he. 
voro~it~'. A1: ~}Cample from Katz et al. •:loo6:• U, 

~hU\\'U .:.rl 1-'iglHe 4.4. 
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\Vhcn the ::;h~::.r ~ri~co:;it}' d.;pcnds ~oldy on 
;?O:msity '"''e.~k~uif'lf..,. exi~tiug mdc is lo~.nOz:ctl in 
p~crc and ~hnpl e sheM b'm1.b1 in CJri<.·ntations 
dctcrm.ill\;d hy the 1.1.stest r.Jpc.nin~; <.licc-::tion 
1-~tbcn""n, 1939; Sp10gehmu, ?.()1>3). lU•tz et d. 
11006} p·~~nt a rclatio.n.-ship heLwt.etl tht. ~ht_:u 
yj~.;iL}' ~u,i pOrt.Xts w.;,;aki."lling plu~ "Lr.till r.tle. 
Th.:y as~umed :t rel:llilJmhlp ui the fonn: 

'"" 1.:.• ,·J - n .<1•..,_; • f 
1 ,v, -t ·,; ·~ " ' I 

¥:hcrt; llj, is [he r~lerence slt(.'itl vi~cosity, n.c the 
rdi:rcnce 'porosiry. Ih~,; porm1i~y \;,;eakl!!:ning t.oe(
Jicicut u~ 28, is e>:p~.rimcntally tlcriv<·tl (Hirth h. 
Kohl.,edt, J 99S; Mci et a!., 200,,). ''" is the sec
ond in\•aci~lut .vf the ~cr;:tin -r~l'e tefl$Ur li. ~.: the 
e ller:t.io,·e ~train ratcl. The sHaiu v,·cukciUng <.:Xl>O
nent n o,vn~ found co fil eJCp('.r.iw.i.:Ut$ bc::~t wlt<:n 
C·~ltal 1.,) {) (.l0.rtz. e.t c<i., 2()(Jh:. 

The IOt~dV.ation of melt in b) !(l'tt:·"' b<tJlt'IS i~ mt 
im].."\Jt't.ant eiiect .ill tet:toni<:alty ac.U .. ,t. rtg.ion~ .. 
and cc;.;ult.!~> in dra.sliC'\11 y {~tcr mclr migration 
vdo.:i,ie.;. thac fm pure pe•®tivc lluw. ln the 
cxpcriment.s )lrht..TC ::rtraio.r.ue we:tk..eoi.U.!'. domi· 
um:cd i>oro..;iLy ''1\'e<•kcnin.g. lo·.·;.angle high t.,.)t'OS· 
it)· btm~l:; \•there iuum.l tu cvoJvC' ~t.~hiJ• :u J&ngles 
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Fi~ . 11/ 1 l'Ql'~it}' nn.~ pcrltlrbati.u·.\ 
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dent<n\~uwan!( t.h<.• ~ll:'i<.'h.'~~r~cm ~lt 
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ti ,.:h~llf, wh;t.t: 'k:ttt:d hr.r.-:s cl~UOi.l· 

su.\Lt the txpected J•(•:oiti(m .. ~ue ;:o 
tl;);r simple shC':U' :r:todif:cd J,l)tt: 

K:t~ .~tC f.'i.1 :!lllt6:•. Sc: l'~le 4.4ior c 
~.olt•ur va:r,.;mn f,\t tl•i;; itHltC. 
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che ridge. How~ver1 t ht: r•)Wti\•n oi th<.: melt band.~ 
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i1l h:md orlC'ntatious that wonJd, il inruconnecu~\i.: 
iCK".1)..$ mdt dirt.."<-\ly t<.n'fards the ricfs.c .rxi~ . ·n lere 
i< a de.ar l•nglh ~le dc;pc.'TI,Iwcc h<=. which 
will he ~ded on in 1 he foUowiur. 'JC(:tion~ . 
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• Field evidence suggests the dunite zones were 
reaction/melt infiltration fronts (Kelemen et aL, 
1997). 
Spiegelman et al. (2001) summarize the mecha
nism known as reactive flow, where migrating 
melt preferentially reacts with (and melts) one 
component (here pyroxene, as pyroxene solubil
ity increases as melt ascends). Thus regions of 
larger melt flux dissolve more pyroxene, increas-

permeability, which again enhances the local 
flux and a positive feedback ensues, resulting in 
channelization. 

In order to model this, Spiegelman et al. (2001) 
assumes that the two above equations can be 
cast in terms of the concentration of the soluble 
phase of the solid, cs (i.e. pyroxene), and the 
melt, cf- rather than as a simple one component 
solid-fluid mix as before. To do so, we need a 
relationship for the conservation of composi
tion, or how solid pyroxene might melt. The lin
ear dimensionless dissolution rate may be 
written as: 

where 

r = DaA'(c1 c'l eq , 

A'= c'(l-%4') 
c~(l-%) 

where is the concentration of fluid at 
equilibrium (i.e. reaction stops). Dais known as 
the Damkohler number, which describes the 
amount of reaction that occurs as the fluid moves 
one compaction length (Spiegelman et al., 2001 ). 
If Da is large, a lot of reaction happens, if small, 
little reaction occurs over that time. R is the reac
tion rate constant, and w 0 the velocity at the ref
erence porosity 1/)0 • For the full non-dimensional 
equations and implementation, see Spiegelman 
et al. (2001). 

The models of Speigelman et al. (2001) show 
channel localization of 90% of the melt flux into 
<20% or the area. Melt reactions create permeabil
ity pathways, and solid compaction of the matrix 
outside the channels forces the flow into these 
stmctures. They suggest such channel systems 

1 t 1 1 t 1 
Fig. 4.5 Schematic of a bifurcating vein network. A large 
number of smaller veins upstream tap the background 
porous flow, and coalesce to form one large transporting 
dyke. See Plate 4.5 for a colour version of this image. 

could form on scales of -100,000 years on Earth, 
and would have a spacing of around 1 to 200m. 

VEIN NETWORKS 

The ability of the extended McKenzie equations 
to generate channelized flow highlights the close 
relationship between descriptions of flow through 
networks of and continuum descriptions of 
two-phase flow, which do, in fact, parameterize 
the behavior of a microscopic vein network in 
their permeability description. Here we consider 
a more stylized division between the two mecha
nisms, and look at the ability of background 
porous flow to fill a growing vein (Figure 4.5). 

Veins are characterized as low pressure regions 
compared to the surrounding rock, which tend to 
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cause background melt to flow towards them 
(Ribe, 1986; Sleep, 1988; Stevenson, 1989). This 
pressure gradient surrounding" dyke extends to a 
distance comparable to the compaction length 8c 
(McKenzie, 1984), and this is given by: 

where K is the permeability, A
2 

is the Lame coef
ficient (an elastic coefficient) and 1]2 the shear vis
cosity of the solid grains, and 1Jm is the melt 
viscosity. Following from Weinberg (1999) and 
Sleep (1988), we adopt a permeability description 
K = Ca2f3, where C = 10-3 is a constant, a is the 
grain size, and f the melt fraction. For a = 1 mm, 
permeability will be lQ- 15 m2 for 1% melt, or 
-10-13 m2 for -6% melt. Assuming the latter, and 
letting A2 + 21)2 = 1018 Pa/s (Sleep, 1988), and adopt
ing a low basaltic melt viscosity of 1 Pa/s (Rubin, 
1995), then we get a compaction length of over 
300m- sufficient to drain a large volumes of par
tially molten source. 

Another constraint on the growth of veins or 
dykes is the porous infilling rate. This infilling 
rate can be estimated from the pressure gradient 
driving flow towards the vein, VP: 

VP.k 
V=--

1Jm 

J 
Using again a permeability of 10-13 m 2, a viscos-
ity of 1 Pa/s, and a pressure gradient of lOMPa/m 
(Wickham, 1987; Etheridge et al., 1984), the 
infilling velocity is -31 m/yr. Again, this is fast 
enough to ensure fairly rapid accumulation of 
melts in a distributed vein network on the order 
of a few years. 

Flow through a vein or tributary dyke net
work can be considered as a contribution from 
a finite number of individual dykes. The struc
ture of such a network has been discussed in 
terms of a bifurcating system, similar to tribu
tary river networks. A large number of smaller 
veins exist upstream, tapping the porous flow 
source. These coalesce to form larger veins/ 
dykelets, which eventually merge to form one 

large transporting dyke. The average velocity 
in an individual dyke (for laminar flow, see 
Petford et al. (1993) and Weinberg (1999)) can 
be written as: 

- !Y.pgwz 
V=---

121Jm 

Here L1pg is the density dependent pressure gradi
ent which drives melting, w is the dyke width, 
and 1Jm is the melt viscosity. The flow rate through 
the dyke is then given by: 

Q=v.w 

For a mantle-derived basaltic melt, we can use 
the parameters !Y.p = 300kg/m3, w -0.1 m, and 
1Jm -10 Pa/s, to obtain an average flow velocity 
of v = 24cm/s, and Q = 0.024m2/s. For basaltic 
style melts, flow rates through macroscopic 
dykes and veins are extremely fast, and able to 
drain a melt source efficiently over short time
scales. It should be noted that this rate is 
extremely sensitive to melt viscosity and vein 
diameter, and can potentially be faster or slower 
than the infilling rate. 

Finally, what structure might a feeding vein 
network have? This is a difficult question for 
mantle derived melts, or even for felsic 
migmatitic sources (Weinberg, 1999). For the 
case of river systems, the tributary network can 
be classified in terms of a self-similar system, 
and if characteristics such as tributary dimen
sions, spacing, diameter exponent (determining 
how the flow rates add), maximum tributary 
order and bifurcation ratio of the system are 
known, then the system structure can be con·· 
strained (Hart, 1993 ). Existing field evidence 
suggests this may be an appropriate analogy for 
feeding vein networks (Kelemen et al., 2000). 
As veins/ dykelets coalesce, their flow rates 
simply add together, and thus in steady state, 
the flow rate through the 'highest order' 
transporting vein is equal to the sum of the flow 
rates through the smallest, lowest order veins 
(Weinberg, 1999). 
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DYKING 

The term dyking here is used to refer specifically 
to the ability small volume magma filled frac
tures to propagate by elastic cracking of the host 
rock differentiating dykes from vein networks 
and porous shear bands. The transition from dif
fuse melt (or, indeed, from a large melt body) into 
a critical volume dyke, which may then propa
gate vertically, is a difficult problem, and not 
fully understood. The mechanics of dyking has a 
long vintage, and a thorough review of this liter
ature is provided by Rubin (1995). In this particu
lar work, we again focus on the problem of 
mantle melt extraction, and formulations of 
dyke propagation focusing on extraction of man
tle-derived melts. 

The problem of dyke formation is really an 
extension of melt localization in a vein network, 
with the end result an elongated body of melt 
that is able generate sufficient stress to fracture 
the surrounding rock. There are two aspects to 
the problem, the ability to generate a mature 
feeder network for the dyke, as discussed in the 
last section, and the ability of the nascent dyke to 
efficiently drain this network and propagate 
(Weinberg, 1999). This is the starting point for the 
following discussion. 

Dyke propagation formulisms 

The fundamentals of dyke propaga~ion are out
lined in Rubin (1995), and a specific application 
of dyke propagation to the problem of mantle 
melt extraction was explored by O'Neill et al. 
(2007L which we follow here. 

Whether or not a dyke will be able to self
propagate depends on whether the elastic stress 
generated by the dyke exceeds the fracture tough
ness of a rock, Kc. This condition is encompassed 
by the crack intensity factor, K, where: 

where LlPc is the critical overpressure, 1 is the 
dyke length, and K > Kc for fracture propagation. 

For crustal dykes, the overpressure may depend 
on the excess pressure from a feeder magma 
chamberi however, as noted by Rubin (1995), for 
most mantle dykes, the overpressure comes pri
marily from the dyke's inherent buoyancy with 
respect to the mantle. To borrow the example of 
O'Neill et al. (2007), a typical critical Kc of 
-5MPa/m1i2, this condition is reached for fairly 
minor melt volumes of around -10m3. If we adopt 
a nominal overpressure of -1 MPa, then this frac
ture criterion is met for dyke lengths of a few 
meters, and thus should be met in most mantle 
melting events. 

However, Rubin (1995) notes the limiting crite
rion to dyke propagation is not elastic fracture, 
but that the flow rate through the dyke is suffi
cient so that the dyke widens faster than it nar
rows to freezing of the margins. If not, as a dyke 
propagates into cold host rock, it will cool, 
become more viscous, slow, and eventually 
freeze. This freezing condition is encapsulated iu 
the dimensionless parameter [3: 

[3= 

where Kis the thermal diffusivity, cis the specific 
heat, 11m is the magma viscosity, L is the latent 
heat of melting, dT,...,Jdz is the temperature gradi
ent in the wall rock in the dyke path, and Mclas is 
the elastic stiffness. If the calculated value of f3 is 
<0.15, then the dyke will not freeze out. O'Neill 
et al. (20071 calculates the critical volume (via 
overpressure! for dyke propagation under mantle 
conditions to be-21m3 . Again, this is a fairly low 
melt volume. 

The critical [3, however, does not describe how 
far a dyke will ascend. The melt production rate in 
the mantle is tied to mantle flow rates, which are 
significantly slower than dyke ascent rates, and so 
for the mantle problem it is most relevant to con· 
sider the case of dyke propagation from a finite 
volume source {Lister, 1994). neglecting 
elasticity, and assuming the of the dyke 
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walls is the fundamental control on ascent, _the 
maximum ascent height can be calculated using: 

where A is the cross-sectional area of the dyke, !Jp 
is the density contrast between the melt and host 
rock, g is gravity, Tl is the magma viscosity, and 
K is the thermal diffusivity. A comes from the 
Stefan problem for dyke solidification (Turcotte 
& Schubert, 1982), and is defined by the transcen
dental equation: 

e-'' L-/ii 
A(l+erfA) c(Tm-TWT(z)) 

where erf refers to the error function, Tm is the 
magma temperature, and Tw/z} is the tempera
ture of the wall rock at depth z. This function can 
be either solved numerically or can linearized (for 
small A) to: 

! 

z 

L 

u 
X 

x< L x< L 
z> L 0.1L<z<L 

Weak coalescence Strong coalescence 

For small magma volumes (-0.001 km3
), dykes 

may be able to propagate -24km before freezing. 
If h

1 
exceeds the depth of the source, the dyke may 

erupt, and the volume erupted can be estimated 
by multiplying the source volume of (h1 - d)fhv 

Although many small volume dykes are una
ble to propagate significant distances, near to 
melt sources dykes may be found in multitude, 
and an important consideration is how dyke 
swarms interact. If enough dykes coalesce, then 
their combined volume of melt allows them to 
migrate significantly further than is possible 
individually. Ito & Martel (2002) considered this 
problem by exploring how dykes interact with 
the local stress field. The combination of distor
tions in the stress field of two nearby dykes may 
be either repulsive or attractive, depending on 
the horizontal and vertical displacement between 
the dykes. The behavior is summarized in 
Figure 4.6. If the dykes are too widely spaced, no 
intersection of the dyke paths will occur. If the 
two dykes are in close proximity and at similar 
depths, the stress fields interact such that the 
path of least resistance for the propagating 

x< L 
z<0.1L 

Repulsion 

x>>L 
Allz 

No interaction 

Fig. 4.6 Rising dykes interact with the local stress field, and can thus affect nearby dykes in a number of ways, depending 
on their spacing. Here L is the length of the dyke, z their vertical spacing, and x their horizontal spacing. For all x < L, 
dykes will interact. If they are at similar depths (z <0.1 L), they will tend to repulse each other. If their depths are different, 
they will tend to attract, and the strength of attraction depends on z. See Plate 4.6 for a colour version of this image. 
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where a is the deviatoric stress, A, R, n and Q are 
constants for a material, and Tis tempera
ture. Assuming the magnitude of the deviatoric 
stress due to the buoyant diapir is -tlpgr, then the 
effective viscosity can be written as: 

Then the ascent ve]ocity for the non-Newtonian 
case would be: 

L\pgr2 
V=---

3Pert 

This not only implies a stronger dependence on 
the radius r, but a1so a sensitivity to the 
temperature T. An important implication of this, 
noted by Weinberg & Podladchikov (1994), is that 
for temperatures <-200"C, the ascent velocity of 
the diapir drops to zero. 

Brittle ascent mechanisms 

Burov et al. (2003) extended models for diapir 
emplacement by considering brittle fracture of 
the uppermost crust. If a diapir is assumed to rep
resent a line load P0 at the base of the elastic 
lithosphere, then: j 

where r is the radius of the half cylinder repre
senting the flattened diapir. The elasic layer itself 
is defined by its flexural rigidity D and the flexu
ral parameter a: 

( 
4D )

1

1
4 

a= llPcg 

where E is Young's modulus, vis Poisson's ratio, 
h the elastic lithospheric thickness, and 11pc the 
density contrast between the material above and 
below the elastic layer. Turcotte & Schubert 
{1982) present the solution to this problem. The 
maximum stresses are reached at the top and bot
tom of the flexing layer, and are given by: 

allfUX 

Whether or not the diapir wlll be able to fracture 
the elastic depends on the yield strength of 
the crust. If we assume a Byerlee style yield law, 
where yield strength depends on confining pres
sure P, then: 

()yield = + 

where sis the coefficient of friction (s -0.6--0.85) 
and C

0 
is the cohesion. The brittle layer will fail 

and the diapir will ascend when a. ld > a . As y1e m 

shown by Burov et al. {2003), this condition is 
satisfied for shallow crustal diapirs on the scale of 
kilometers. 

Full diapiric ascent formulation 

The full formulation of diapiric ascent involves 
solving the coupled equations of mass conserva
tion and momentum with an energy equation, 
together with constitutive relations and formula
tions for viscoplastic-elastic deformation. The 
full description is beyond this chapter; the reader 
is referred to Burov et al. (2003), Moresi & 
Solomatov (1998) and O'Neill et al. {2006) for fur
ther details of these style models. 

The results of Burov et al. (2003), for a fully 
dynamic diapiric formulation, suggest that the 
ascent rate and final emplacement depth of plu
tons is controlled not so much by the density 
contrast between the pluton and the surrounding 
coUIItry rock, but by the heat budget of the diapir, 
which controls the viscosity and thus whether a 
diapir will stall or not. Only large diapirs (diame
ter >-5 km) will be able to penetrate into the brit
tle crust. Ascent rates within the ductile crust are 
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relatively fast (0.1-Sm/yr), but slow within the 
brittle-ductile transition zone (5-1 0 km) to around 
0.01-0.0Sm/yr. Large diapirs within the brittle 
regime (<-Skm depth) typically rise very slowly, 
around a few mm per year. Interestingly, cold 
solid-state diapirs may continue to rise for over 
1 Myr, in the models of Burov et al. (2003), by 
virtue of their buoyancy and viscosity. Surface 
effects such as erosion were found to be fairly 
second-order effects. 

SUMMARY 

Whilst models exist for various aspects of the 
melt ascent system, no fully consistent formu
lation exists encapsulating the full range of 
behaviors seen in Nature and outlined here. 
One of the main difficulties is the range of 
scales encompassed by the processes, both spa
tially and temporally. In terms of spatial scales, 
melt ascent involves constraining the wetting 
of grain boundaries by incipient melting, up to 
the movement of hundred kilometer-scale plu
tons through the crust. In terms of time, whilst 
melt production may be restricted by mantle 
velocities, melt ascent in island arcs can take 
<1000 years, based on U-series constraints (see 
Turner & Bourdon, this volume), and kimber.
lites may erupt through several hundred kilo
meters of lithosphere in just a few days (Sparks 
et al., 2006). Despite these difficult,ies, individ
ual processes in the sequence can be quantified 
as shown by the more common formulations 
presented here. The rates calculated from these 
relationships range from the order of cmfyr for 
porous melt migration from the source, to 
-30 m/yr for the infilling velocity of small veins, 
to up to tens of kilometers per hour for dykes 
propagating by elastic fracturing -- and down to 
several millimeters per year for plutons intrud
ing into the brittle upper crust. One of the great
estchallengesfacingcomputationalgeodynamics 
in future years is the incorporation of the range 
of multiscale physical processes involved in 
magma ascent into existing solid-state geody
namic codes. 
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SUMMARY 

Once melting commences within the Earth's 
mantle, melt movement commences by porous 
flow. Whether or not the entire path to the sur
face occurs via porous flow or whether channeled 
flow takes over is not well understood. Since 
channeled flow will be much faster than porous 
flow, time scale information provides one of 
the most powerful means of distinguishing the 
mechanism involved. U-series isotopes are the 
principle source of this time scale information. 
Studies of 72~U-230'Th and 235U-231 Pa disequilibria in 
mid-ocean ridge, ocean island an;I island arc 
basalts all place minimum constraiits on ascent 
rates of 1-20m/yr. 226Ra-230'Th disequilibria in 
island arc basalts(IAB) arguably provide the most 
stringent constraint suggesting ascent rates of 
-70m/yr. This requires channeled melt transport 
for the majority of source to surface path. It 
remains possible that 210Pb disequilbria are a 
melting signature and if so this would require 
melt ascent rates of km/yr. Such estimates are 
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consistent with available seismic and experimental 
constraints that melt transport is in general fast. 

INTRODUCTION 

How do mantle melts move from their source 
regions into the overlying crust or be erupted at 
the surface of the Earth? This is an important 
question because this process is the primary 
mechanism of differentiation of the Earth and an 
important, rapid means of heat transport {con
ductive heat transfer by comparison is a very slow 
process). There are a number of fundamental 
aspects of the physics of melt {or fluid) transport 
that need to be understood before any assessment 
of transport rates can be attempted. These were 
well synthesized by Spera {1980), who noted 'the 
elucidation of (melt) mobilization mechanics 
promises to be a complicated business.' Kelemen 
et al. (1997) provide a good synthesis of geochem
ical and physical constraints upon melt transport. 
The primary force for melt extraction is 
gravity. Because basaltic melt is less dense 
(p -2,700kg/m3

) than its surrounding solid 
dotite matrix (p -3,300kg/m3 ), it has positive 
buoyancy that causes it to rise. As we will dis
cuss, there are a couple of alternative physical 
models for melt transport. In the absence of direct 
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observation, perhaps the most convincing means 
to distinguish between them is to constrain the 
speed or timescale of melt transport, provided 
that the depth of melt production can also be 
established. In this way U-series isotope observa
tions, in particular, can be used to infer minimum 
melt transport rates. Although this has proved 
difficult, a number of observations are beginning 
to emerge that may suggest some sort of consen
sus. It is also worth noting that most constraints 
on mantle to crust melt transport rates come 
from total source to surface transit times. Thus, 
this chapter implicitly incorporates, but will not 
discuss, transport times within the crust, since 
this is the subject of a subsequent chapter by 
Rushmer and Knesel. 

INCEPTION OF MELTING 

The mantle is not mono-mineralic and melting of 
peridotite occurs by reactions at grain boundaries 
(i.e. at the junction of olivine-orthopyroxene
clinopyroxene-spinel or olivine-orthopyroxene
clinopyroxene-garnet). Some mantle nodules 
contain evidence for melt being present at grain 
boundaries (Yaxley & Kamenetsky, 1999) and this 
has also been simulated experimentally (Vaughan 
& Kohlstedt, 1982). Melt transport or extraction 
from the matrix becomes possible when there is 
connectivity of the melt and a widely accepted 
theory is that this will occur if the cl~hedral angle 
(Figure 5.1) for melt-olivine is <60° (Beere, 1975). 
However, this is less likely to strictly hold under 
conditions of deformation that will accompany 
compaction associated with melt extraction (Jin 

(a} (b) 

Solid Solid 

et al., 1994) and that are likely to be prevalent 
within the Earth's convecting mantle. Further
more, the dihedral angle does not specify the 
mechanism, and thus the rate, of melt transport. 
Some form cif porous flow is necessary to extract 
melt when it forms along grain boundaries, but 
when considering the entire path to the surface, 
other melt transport mechanisms need to be con
sidered. In principle, this ·mode of melt transport 
could be via porous flow all the way to the sur
face, channeled flow or a combination of the two. 
Much of this is covered in a separate chapter by 
O'Neill and Spiegelman, so we only present a 
summary of pertinent details here. 

POROUS FLOW 

Porosity (~) is defined as a measure of the void 
spaces in a material and with regard to mantle 
melting this corresponds to the amount of melt 
present at grain boundaries and grain junctions. 
Assuming that melt is produced at grain bounda
ries, then the primary mechanism for, at least the 
inception of, melt transport should be by porous 
flow (Figure 5.2), most simply described by 
Darcy's law: 

q = -k/Jl VP 

where q is the Darcy flux or filtration velocity, k 
is the permeability, J1 is the viscosity and VP is 
the pressure gradient. The permeability is related 
to the porosity(</>) and crystal diameter (d) via: 

Fluid Solid 

So!ici Solid Fig. 5.1 (a) The dihedral angle is that 
between two grain-melt interfaces. (b) If 
¢ <60°, the pores are occupied by melt. 
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Fig. 5.2 illustration of multi-phase porous flow in a melt
ing medium. As the system undergoes compaction the 
grains (white spheres) compress and the fluid is 
upwards. Se.e Plate 5.2 for a colour version of this image. 

Wo 
(mm/yr) 

McKenzie (1984) derived the basic 
describing the movement of the melt in the 
matrix of a partially molten material and 
showed that melt extraction will be contro.Jled 
by the rate of deformation of the matrix. In the 
most straightforward situation this deformation 
is simply compaction and he calculated that the 
rate of melt extraction would be 2:l0mm/yr for 
values of 1/J > 0.03 (Figure 5.3j. For ¢ 0.1 melt 
- matrix reaches 1 m/yr·1 such that 
it is unlikely that such melt fractions 
(porosities) are ever continuously present within 
the Earth. This further suggests that 
melting is best described as fractional 
opposed to batch), that melt is 
extracted rapidly once it is produced. Subsequent 
geophysical studies have confirmed that the 
melt beneath mid-ocean must be <3% 
(Forsyth et al., 1998). 

The porous flow treatment was subsequently 
expanded by Spiegelman & McKenzie {1987L who 
showed that the geometry of plates 
and matrix advection at mid-ocean and 
island arcs will lead to strong focusing of melt. In 
other words, melt will be extracted a wide 
region of low towards a zone of concen
tration or accumulation, where the total or com
bined melt fraction can reach tens of pe:rcc:nt. 
Importantly, this reconciles the arguments for 
low porosity local melt fraction), 

Fig. 5.3 Minimum melt velocity 
0. i as a function of porosity (mod-

from McKenzie, 1984). 
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Field observations of mantle sections 

Dykes provide direct field evidence for melt 
transport in channels within the lithosphere and 
Kelemen et al.(l997) review evidence that dunite 
dykes in ophiolites represent former porous melt 
flow channels. The evidence is based on the 
observed structures and individual dykes can 
reach 200m in thickness and 10 km in length. 
Although most are much smaller, they comprise 
5 to 15% of the mantle section in the Oman ophi
olite. They tend to be transposed, sub-parallel to 
the Moho, indicating they have undergone rota
tion by corner flow and thus may have originally 
formed in a vertical orientation in asthenosphere 
that subsequently became frozen onto the base of 
the lithosphere. 

Geochemical arguments suggest that the dun
ite is derived from a melt reaction, in which the 
melt dissolves orthopyroxene and produces oliv
ine [Kelemen, 1990). Based on the Mg in the 
olivines, the dunites are not believed to be residual 
cumulates but to have been in equilibrium with a 
mafic melt. Irrespective of the validity of these 
observations, a critical question remains as to 
whether a channeled flow mechanism also applies 
to melt transport in the convecting asthenosphere, 
or whether it simply reflects the response to the 
brittle behavior of the lithosphere? 

Evidence from numerical simulations 
and experiments 

J 
In the absence of any direct means of observing 
channels in the asthenosphere, several groups 
have undertaken both numerical simulations and 
rheological experiments to assess their feasibility 
as a means of melt transport. To a large extent 
these are complementary approaches and both 
have implications that, in principle, can be tested 
with geochemical observables. 

There is a general consensus that once chan
nels exist, melt will be efficiently removed to the 
channels from surrounding regions of porosity
even in zones of active downwelling, such as 
beneath island arcs (Petford et al., 2008). Thus, an 
important question is whether and how channels 

might form in the first place and how long they 
might persist (Sleep, 1988). Stevenson (1989) has 
suggested that weak regions will have a slightly 
lower pressure than strong regions in viscously 
deforming media leading to mechanical instabili
ties. Thus, melt will tend to flow from the strong 
to the weaker regions, although the local pressure 
gradient between matrix and channel that drives 
melt flow is hard to assess. Hirth & Kohlstedt 
(1995) have shown that melt fraction is negatively 
correlated with strength in partially molten peri
dotite, so that this can unstably form melt-rich 
shear zones that initiate channel formation. 

Dynamic experiments by Kohlstedt and co
workers have been used to investigate the rheo
logical behavior of peridotite during partial 
melting. They have shown that deformation of 
partially molten rocks can produce melt segrega
tion. An important result is that such stress-driven 
melt segregation may produce high-permeability 
pathways, allowing for rapid melt extraction 
along channels similar to the dunite dykes 
observed in ophiolites (Holtzmann et al., 2003; 
Holtzmann & Kohldstedt, 2007), allowing for 
efficient melt-focusing beneath mid-ocean ridges 
(Katz et al., 2006). 

Aharonov et al. (199S) undertook numerical 
calculations to investigate the behavior of the 
mantle in the presence of partial melt and the 
tendency of such a system to self-organize into a 
coalescing network of high porosity channels 
[Figure 5.5). This work has been expanded by 
Spiegelman and co-workers in a number of stud
ies, some of which have included reactive flow in 
deformable permeable media (Spiegelman et al., 
2001 ). In essence, if the dissolution of silicate 
minerals is sufficiently fast, the melt flow can 
lead to instabilities that lead to the formation of 
dissolution channels. As the channels are at a 
lower pressure than the surrounding regions, they 
suck melt into them, thus reducing the porosity 
of the interchannel region. 

Other relevant observations 

As noted above, observations relevant to melt 
transport are rare. Some geophysical data suggest 
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that ascent rates could be extremely fast and 
values as high as 1.8km/day have been estimated 
from seismic data in Vanuatu (Blot, 1972) but 
these are not common. As O'Reilly and Griffin 
discuss in the following chapter, the presence and 
size of mantle xenoliths can be used to calculate 
a minimum Stokes' law melt ascent velocity. For 
example, assuming a Bingham liquid, Sparks 
et al. [1977) calculated that a 25cm diameter 
mantle nodule would settle unless the magma 
ascent velocity was -0.8km/day. Finally, 
Rutherford & Hill (1993) adopted an experimen
tal approach to amphibole breakdown in lavas 
from Mt St Helens to estimate that magma ascent 
from 8 km depth to the surface occurred at 
between 15 and 66m/hr or 131 to 578 km/yr. 

Langmuir et al. (1992) used the Fe content in 
mid-ocean ridge basalts (MORB) to argue that 
the depth equilibration of melt was deep and 
accordingly suggested that melts do not equili
brate at shallow pressure and argued for a 
dynamic melting mechanism. That is, the man
tle matrix is continuously melting whilst it is 
moving (typically ascending) through the melting 
region. Kelemen et al. (1997) reviewed evidence 
that in terms of both major and trace elements, 
MORB are out of equilibrium with the shallow 
upper mantle. Specifically, MORB should be 
saturated in orthopyroxene, but they are not. 
An attractive simple means by which to explain 
this observation is that the melts ascended in 
channels and never equilibrated with the shal-
low mantle. . l 

With advances. in analytical techniques, it has 
become possible to analyse trace element con
centrations in melt inclusions. One of the out
comes has been the surprising observation that 
the incompatible element variation in melt inclu 
sions at a single locality show huge variations 
that may reflect incomplete mixing of very differ
ent % melt fractions (Slater et aL, 2001). In addi 
tion, Sobolev & Shimizu \1993) have provided 
compelling evidence from melt inclusions that 
erupted melts are aggregates of melts from differ
ent depths. The corollary is that such observa
tions are most compatible with very rapid melt 
transport and incomplete mixing. 

Finally, Hauri (1997) has argued that chromato
graphic interaction between ascending melts and 
surrounding peridotite would quickly erase the 
unique isotope signatures of compatible elements 
such as Os that are observed in some oceanic 
plume basalts. His calculations suggest that the 
preservation of such signatures requires magma 
transport to the surface in channels that originate 
from within hundreds of meters of their source. 

EVIDENCE FROM U -SERIES 
ISOTOPES 

The key issue for our discussion is that different 
physical mechanisms for melt extraction, out
lined briefly here and discussed in more detail in 
the chapter by O'Neill and Spiegelman, result in 
very different· predicted rates of melt transport 
that can be tested geochemically, In particular, 
the short-lived isotopes of the uranium-series 
(hereafter U-series) decay chains afford the oppor
tunity to test the relative importance of slow, 
porous flow and rapid, channeled melt ascent in 
the Earth. 

U·series observations 

In an earlier chapter, Bourdon and Elliott have 
introduced the principles of short-lived U-series 
isotopes and how these can provide timescale 
information for magmatic processes that is sim
ply not available from other means (see also 
Bourdon et aL, 2003 for an extensive review), It is 
not our purpose here to review the details of the 
different in-growth melting models and the reader 
is referred to a recent summary by Elliott & 
Spiegelman (2003) for an exhaustive discussion. 

Briefly, all of the elements in the U-series decay 
chains are highly incompatible [i.e. partition into 
the melt phase; D <l) in mantle assemblages. 
Because fractionation between incompatible ele
ments only occurs when the total extent of melt
ing (F) is less than the bulk partition coefficient 
(D) of the (usually more compatible) parent ele
ment, the generation of disequilibria by fractiona
tion alone requires F ~ 0.05 (Figure 5.6a). Since 
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Fig. 5.6 (aj Diagram illustrating the extent of fractionation benveen U-series parent-daughter pairs versus degree of 
partial melting (in % ). (b) Schematic representation of U-series daughter in-growth during partial melting that occurs 
over a timescale that is significant relative to the daughter half-life. Solid mantle approaching the solidus is in secular 
equilibrium. At the onset of melting, the U-series nuclides are 'instantaneously' partitioned according to their bulk 
partition coefficients (D), such that, in the case illustrated, the daughter isotope is enriched in the melt relative to the 
parent, following the fractionation illustrated in (a). This fractionation reflects the instantaneous or residual porosity 
[¢).However, as the solid continues to pass through the melting zone {at a matrix flow rate W,) new daughter isotopes 
are produced (over time) by decay from their parent within the solid residue and these subsequently also become added 
to the meltl~ading to an additional excess of daughter in the melt that reflects the timescale of melting. The resultant 
disequilibria is controlled by the elemental partition coefficients, the porosity and the melting rate (a function of the 
rate of passage of matrix across the solidus) modified from Lundstrom (2003). 

l 

most MORB1 ocean island basalts {OIB) and island 
arc basalts {IAB) are thought to reflect melting 
extents of several percent to tens of percent, no 
U-series disequilibria would be predicted by frac
tional {or batch) partial melting models. Thus, 
the observation of such disequilibria spawned the 
development of a number of variants of 'in
growth' models based on an initial treatment by 
McKenzie {1985). The fundamental feature of all 
of these models (illustrated in Figure 5.6b) is the 
same: namely, if melting occurs over a timescale 
that is comparable to the half-lives of the U-series 

isotopes being considered1 then daughter in
growth during melting can lead to significant 
parent-daughter disequilibria. So long as the melt 
can be extracted before such disequilibria decay 
back to secular equilibrium, observed disequi
libria can provide constraints on the rates of melt
ing and melt extraction (our interest here). 

Whilst U-series disequilibria require in-growth 
during partial melting, the constraints on melt 
extraction rates are more model dependent. This 
boils down to a priori assumptions as to whether 
the melt is extract by channeled flow (often 
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Fig. 5.7 (a) and (b) Observations of238U-230Th, 235U-231 Pa and 230Th-226Ra disequilibria in basalts from mid-ocean ridges, 
ocean islands and island arcs (after Lundstrom, 2.003). 

referred to at the 'dynamic melting models') as 
soon as the porosity is exceeded or whether the 
melt percolates upwards via porous flow and con
tinues to interact with the matrix along the way. 
This model is often referred to as equilibrium 
porous flow (Spiegelman & Elliott, 1993). In this 
case, disequilibria for some short-lived and highly 
incompatible nuclides (e.g.226Ra) can be produced 
near the top of the melting column and therefore 
do not place major constraints upon melt ascent 
rates. Thus, the ability for U-series disequilibria 
to constrain the rate of melt ascent requires infor~ 
mation that can independently demonstrate that 
the fractionation takes place at depth. Conversely, 
such information might dictate which models are 
more appropriate to the Earth. , 

The first-order observation from 
1
young vol

canic rocks is that 238U-230Th-226Ra and 235U-231 Pa 
disequilibria are almost ubiquitous (Figure 5. 7) 
and many also commonly preserve disequilibria 
between 226Ra and 210Pb (see Bourdon et al., 2003 
for a summary). Thus, at the simplest level, the 
mere observation of 238U-230Th-226Ra disequilibria 
provide some minimum speed on melt ascent. 
Therefore, a minimum melt ascent rate is dic
tated by the need to preserve U-Th disequilibria. 
This requires ascent in less than a few half-lives 
of 230Th (75 kyr), leading to inferred ascent rates of 
perhaps several 10's m/yr. The half-life of 231Pa 
(33 kyr) is shorter than that of 230Th, which might 

further reduce the maximum ascent time allowed. 
However, this element is highly incompatible 
and so disequilibria could arguably be produced 
at shallower levels, by porous flow. Similarly, if 
observed 226Ra disequilibria also source-related, 
then this would reduce the available time to 
<8,000 years and thus increase the melt ascent 
rate to arguably some lO's m/yr (see further dis
cussion below). 

210Pb has a half-life of only 22 years and so 
210Pb-226Ra disequilibria potentially provide even 
more robust constraints upon melt ascent rates. 
However, a major caveat is that 222Rn is an inter
mediate product and so 210Pb-226Ra disequilibria 
(210Pb deficits) could be produced by magma 
degassing (Gauthier & Condomines, 1999). On 
the other hand, Pb is much more compatible than 
Ra during mantle melting and so significant 
210Pb-226Ra disequilibria (also 210Pb deficits) are 
predicted during mantle melting. If such disequi
libria could be shown to result from melting, this 
would imply very rapid melt ascent (-3 km/yr) 
indeed! 

Constraints on melt velocities 

As alluded to above, the key issue of importance 
to this chapter relies on the ability to constrain 
the depth of origin of U-series isotope signatures. 
If the signature is actually shallow, but assumed 
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to be deep, then the speed of melt transport could 
be overestimated. On the other hand, even if 
assumptions about the depth of origin reflect 
reality, the rate could always be much faster than 
the U-series signature implies. U-series con
straints always provide a minimum speed. So 
what are the robust constraints on the depth of 
origin of U-series disequilibria in the different 
tectonic environments - or indeed would we 
expect them to be similar? 

Mid-ocean ridge basalts 

A wide variety of geochemical arguments can be 
used to infer that it is likely that beneath ridges, 
melt is extracted from near the garnet-spinel 
transition zone around ~-90km {Robinson & 
Wood, 1999). These include the fact that it is only 
at these depths that U is significantly more com
patible than Th (Blundy & Wood, 2003). Thus, in 
all 1in-growth' melting models, the bulk of 238U-
230Th disequilibria originates near the base of the 
melting column because: 
• it is here that, in the presence of residual high 
pressure clinopyroxene and/or garnet (-90km 
depth), elemental fractionation between U and 
Th is maximized: and 
• the overlying melting column is sufficiently 
long to allow for 23DTh in-growth during the cour;:;e 
of melting in significantly less than a few half
lives of 230Th (75 kyr). 
Adding this rough depth of origin constraint to 
the arguments based on the first-qrder observa
tions made above leads to increlsed inferred 
ascent rates of -L2m/yr. 

235U-231Pa and 226Ra-230Th disequilibria have the 
potential to place tighter constraints on melt 
ascent rates but suffer from the possibility that 
their origin is shallow. Possibilities include con
tinuing interaction with the matrix via equilib
rium porous flow and, in the case of 226Ra, it has 
been suggested that observed disequilibria reflect 
shallow interaction with plagioclase in sub-axial 
magma chambers {Saal &. Van Orman, 2004, Van 
Orman et al. 2006), whereby the faster diffusion 
of 226Ra relative to 230Th out of the plagioclase 
leads to 226Ra excess in the melt. Thus, at present 

these systems arguably do not offer much insight 
into the rate of melt ascent beneath ridges. 

A more recent and highly provocative study by 
Rubin et al. (2005) measured significant 210Pb-
226Ra disequilibria in zero-age MORE from the 
East Pacific Rise. Because MORE are erupted 
beneath a long water column, which will subdue 
degassing and the disequilibria did not increase 
with extent of differentiation, these authors 
attributed the disequilibria to partial melting. If 
correct, this would place by far the tightest con
straints on the ascent rate of MORE (irrespective 
of the absolute depth of origin) requiring melt 
ascent in decades! Alternatively, Van Orman & 
Saal (2009) have recently suggested that the 210Pb 
deficits might reflect interaction between melt 
and cumulate minerals. For MORE then1 a cru
cial test of magma ascent rates will be assessing 
the validity of these data, particularly the infer
ence that they reflect partial melting rather than 
degassing. Such a test is afforded by the 227 Ac-
231Pa system.227 Ac also has a 22-year half-life but, 
unlike 210Pb, there is no gaseous intermediate 
between it and its longer-lived parent 231Pa 
(33 kyr). Ac is predicted to be reasonably compat
ible (similar to La) in the mantle compared with 
Pa (Blundy & Wood, 2003) and so mantle melting 
should produce significant 227 Ac-231Pa disequi
libria, whereas degassing will not. Unfortunately, 
analytical challenges have so far prevented the 
routine measurement of 227 Ac. 

Ocean island basalts 

Ocean island basalts {OIBj are generally thought 
to result from decompression melting in a man
ner analogous to MORE and the U-series observa
tions are very similar {Figure 5.7). A difference is 
that the emption of OIB through thick lithos
phere and their inferred higher temperatures of 
partial melting suggest a greater average depth of 
melting (usually in the garnet-lherzolite facies), 
which is consistent with models for their com
bined 238U-230Th and 235U-23lPa disequilibria 
(Bourdon & Sims, 2003). This could perhaps be 
used to argue for slightly higher rates of melt 
ascent for OIB. Thus, the constraints on the depth 
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of origin of these particular U-series disequilibria, 
and thus the rates of melt ascent, are not greatly 
different to those of MORB. 

226Ra-excesses tend to be smaller in OIB than in 
MORB (Figure 5.7b) and like MORB it remains 
possible that observed 226Ra excesses are produced 
by shallow porous flow and so do not place strong 
constraints on melt ascent rates for OIB. However, 
some OIB exhibit deficits of 226Ra relative to 230Th 
and these have been interpreted to reflect melting 
in the presence of residual amphibole or phlogo
pite at the base of the lithosphere (Claude-Ivanaj 
et al. 1998; Bourdon et al., 1998; Bourdon&. Van 
Orman, 2009). In this case, if the lithosphere is of 
a thermally equilibrated thickness of 125 km, the 
minimum speed of ascent is constrained to be 
-15 m/yr in order to preserve the 226Ra deficits. 

There are currently very few measurements of 
210Pb in OIB but it is possible that, like MORB, 
these may reflect a melting signature rather than 
degassing. Again, the full implications for melt 
ascent rates must await verification from 227 Ac 
measurements. 

Finally, Stracke et al. (2006) have argued that 
combined 238U-230Th, 235U-231Pa and 226Ra-230'fh 
disequilibria is basalts from Iceland can be recon
ciled in a dynamic melting model with rapid 
(channeled) melt extraction without the need for 
shallower wall-rock interaction via porous flow. 

Island arc basalts 

Island arc basalts are erupted at volcanoes that 
lie, on average, -llOkm above subddcting oce
anic plates. These plates are the source of water, 
which induces partial melting by lowering the 
peridotite solidus. Thus, the cause of melting 
differs from MORB and OIB. lAB are also charac
terized by the reverse sense of U-Th disequi
libria (i.e. excesses of 238U over 230Th) and this 
has long been attributed to addition of fluid 
mobile U from the subducting plate (see Turner 
et al., 2003 for a review). Since the depth of ori
gin of the fluids is therefore reasonably well 
constrained, this immediately provides a maxi
mum ascent rate of 0.3 m/yr. Inferred along-arc 
U-Th and U-Pa isochrons from the Mariana and 

Tonga-Kennadec arcs have further reduced the 
transit time to 30-60kyr (Elliott et al., 1997; 
Turner &Hawkesworth, 1997; Bourdonet al., 1999) 
and, accordingly, the ascent rate to -4m/yr. In 
fact, the most recent data from Tonga suggests 
horizontal U-Th isotope arrays within individual 
islands such that the time since fluid addition is 
not resolvable and could be <lOkyr (Caulfield, 
2010) corresponding to an inferred ascent rate of 
ll m/yr. 

Probably the most important constraint on 
melt ascent rates comes from 226Ra-230'fh disequi
libria in lAB. Turner et al. (2000; 2001) showed 
that these can exceed 500% and that they are 
positively correlated with ratios such as Ba/Th 
[Figure 5.8a). Dosseto et al. (2003) showed that 
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Fig. 5.8 (a) and (b) Correlations between 230'fh-226Ra dis· 
equilibria and Ba/Th and Sr/Th in island arc basalts 
(after Thrner et al., 2003). 
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there is also a pos1t1ve correlation with Sr/Th 
(Figure 5.8b). (226Ra/230Th) ratios of >3 to 4 are 
extremely hard to reproduce by either dynamic 
melting or equilibrium porous flow models and 
require porosities <0.1% (Bourdon & Sims, 2003; 
Elliott & Spiegelman, 2003). Moreover, Th is 
more incompatible than Sr during mantle melt
ing and so a positive correlation between 
(226Ra/230Th) and Sr/Th cannot be attributed to 
partial melting (Dosseto et al., 2003). Instead, Ba, 
Sr and, by analogy, Ra are all highly fluid mobile 
compared with Th (Brenan et al., 1995). Thus, it 
has been argued that the 226Ra excesses observed 
in arc lavas reflect fluid addition (Turner et al., 
2000, 2001), just like the 238U excesses. Because 
fluid addition occurs at the base of the melting 
column at -110 km depth, this appears to require 
very rapid melt ascent. The half-life of 226Ra is 
only 1,600 years and theoretical calculations sug
gest that initial 226Ra-230Th disequilibria in the 
lAB source might be -15 to 16 (Turner et al.,2003; 
Yokoyama et al., 2003). Thus, erupted lavas with 
(226Raj230Th) ratios of 6 may have aged less than 
one half-life since fluid addition, suggesting melt 
ascent rates of -70m/yr. 

The suggestion of such rapid melt ascent rates 
has been provocative because they would demand 
channeled melt ascent for much of the source to 

f surface distance (at least beneath island arcs) and 
• has been. challenged by Feineman & DePaolo 

(2003) and' Huang et al. (2008). Feineman & 
DePaolo (2003) suggested that 226Ra excesses 
could result from the enrichment in 226Ra in 
amphibole or phlogopite due to solid state diffu
sion out of the clinopyroxene where 226Ra is ini
tially produced from 230Th decay. Subsequently, 
preferential melting of amphibole leads to a large 
226Ra excess in the melt. However, this model 
predicts that those lAB with the largest 226Ra 
excesses should be low melt fractions (e.g. Si02 
undersaturated), high in K20 and have moderate 
Sr/Th ratios, all of which are the opposite of what 
is actually observed (see George et al., 2004 for a 
discussion). To the contrary, Bourdon & Van 
Orman (2009) argue that the presence of amphib
ole or phlogopite will lead to excesses of 226Ra 
relative to 230Th, only if melting is rapid and that 

these would be accompanied by 230Th excesses -
again, this is contrary to observations since lAB 
are characterized by 238U excesses. 

Huang et al. (2008) pointed out that the positive 
correlations between (226Ra/230Th) and Ba/Th and/ 
or Sr/Th might reflect the effects of time-depend
ent crystal fractionation. Although such an effect 
can lead to positive correlations on the Sr/Th dia
gram, it cannot produce the large observed ranges 
in Ba/Th, because both Ba and Th are highly 
incompatible. Moreover, it completely ignores 
the need to create a parental magma with high 
(226Raj2.30Th), (2.38Uj230Th), Ba/Th and Sr/Th in the 
first place. As discussed above, the most plausible 
means of this remains fluid addition to mantle 
peridotite and, as such, all arguments pertaining 
to melt ascent rates remain unchanged. 

Many lAB exhibit excesses of 210Pb over 226Ra, 
although an equal number have the opposite sense 
of disequilibria (Turner et al., 2004). In principle, 
the deficits could form as a result of mantle melt
ing (Rubin et al., 2005) or shallow level (sub-vol
canic) magma degassing (Gauthier & Condomines, 
1999). However, the characteristics of gases con
tained in lAB and the explosive nature of island 
arc volcanoes generally sway opinion towards the 
dominant 210Pb signal being the result of differen
tial gas-magma transport (Turner et al., 2004). 
Thus, at this stage, 210Pb-226Ra disequilibria do not 
appear to place additional constrains upon the 
rates of melt ascent through the mantle wedge. 

One of the many intriguing aspects of the island 
arc setting is that induced convection in the 
mantle wedge will result in active downwelling 
rather than the passive upwelling that occurs 
beneath ridges and ocean islands. Whether or 
not melt velocity is sufficient to allow its extrac
tion towards the surface is poorly understood. 
Nevertheless, Petford et al. (2008) undertook 
numerical calculations to estimate the times
cales of melt extraction into channels in a down
welling matrix. The presence of channels was 
assumed because the actual mechanism of transi
tion from porous flow to channel formation 
remains a major unsolved problem. Nevertheless, 
they showed that melt extraction could occur 
on timescales sufficiently fast to preserve 210Pb 
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(and 227 Ac) disequilibria. Thus, rather like MORB 
and OIB, the problem of whether any lAB 210Pb 
disequilibria might reflect melting remains to be 
tested with 227 Ac measurements. 

CONCLUDING REMARKS 

The determination of melt ascent rates through 
the mantle is problematic and largely in its infancy. 
Intriguingly, estimates of crustal transit rates are 
remarkably consistent from a number of different 
sources of information. Seismic data, xenolith 
entrainment calculations and experiments on 
amphibole breakdown all suggest rates around 0.2 
to 2km/day, entirely consistent with channeled 
melt transport as evidenced by dykes in outcrop. 
Although dunite dykes in ophiolites provide evi
dence for channeled flow in the lithosphere and 
theoretical calculations indicate that channels 
could form in the asthenosphere, the primary con
strains on the speed, and thus mechanism, of melt 
transport in the mantle come from U-series dise
quilibria. U-Th-Pa disequilibria in MORB, OIB and 
lAB all place minimum constraints on ascent rates 
of 1 to 20m/yr. Ra disequilibria in lAB arguably 
provide the most stringent constraint suggesting 
ascent rates of 70m/yr. This requires channeled 
melt transport for the majority of source to surface 
path. It remains possible (and testable with 227 Ac) 
that 210Pb discquilbria are a melting signature and 
if so this would require melt ascent rates of km/yr 
similar to those estimated for the crust. This might 
be anticipated if the slowing effect of the lower 
density contrast in the crust is balanced by the 
increased tendency towards brittle behavior and 
easy dyke propagation. Perhaps the mantle and 
crust behave rheologically in the same way every
where in the presence of partial melt. 

This is GEMOC publication #669. 
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SUMMARY 

The rates of ascent of magmas through the lithos
phere can be estimated by a variety of methods 
using physical and compositional parameters of 
lithospheric mantle fragments brought to the sur
face in these magmas. The xenoliths are relatively 
dense, and the magma must be ascending more 
rapidly than the xenoliths can sink through it. 
These methods suggest an average ascent rate 
through the whole lithosphere (mantle and crust) 
in the range of 0.2 to O.Sm s-1 [about 0.5 to 2km/ 
hour). The ascent rates through the shallow crust 
may be much higher: >20m s-1 and up to super
sonic speeds (>300m s- 1) in the uppermost crust. 
Residence times derived from microstructural 
observations in recrystallised minerals in the xeno
liths and element diffusion profiles in xenolith 
minerals suggest ascent rates in the range of 0.2 to 
0.4m s-1

• These :methods all provide minimum 
velocities ranging from about 0.2 to 2m s-1 for rela
tively low-volume melts such as alkali basalts, to 
-4 to 40m s-1 (and up to supersonic) for volatile
charged ultramafic melts such as kimberlites. 

In summary, magmas carrying mantle xenoliths 
much reach the surface within a maximum of 
about 8 to 60 hours of picking up these dense frag
ments from depths of about 200 to 80 km depth. 

Timescales of Magmatic Processes: From Core to 
Atmosphere, 1st edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 2011 by Blackwell Publishing Ltd. 

INTRODUCTION 

The rates at which magmas rise through the crust 
and upper mantle cannot be measured directly, 
but can be estimated by several indirect means, 
based on observations from xenoliths in alkali 
basalts, kimberlites and related rocks. 

Xenolith ('foreign rock') is a general term 
applied to a fragment of obviously foreign mate
rial enclosed in a magmatic rock; it implies that 
the xenolith was accidentally entrained,. then 
transported by the magma from some depth to 
the place where the magma solidified. The min
eral assemblages and mineral chemistry of many 
xenoliths can be compared with experimental 
studies to derive the depth and temperature at 
which they were picked up by the ascending 
magma. The presence of such xenoliths therefore 
can provide constraints on the shallowest depths 
of magma generation and segregation, and on how 
rapidly magmas reach the surface. In this chapter, 
we review the types of information that can be 
derived from xenoliths, to constrain the rates of 
magma ascent. 

THE SIGNIFICANCE 
OF XENOLITHS 

For the estimation of magma ascent rates, the 
most interesting xenoliths are those derived from 
the upper mantle, which include a range of 
ultramafic to mafic rock types, dominantly 
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peridotites (olivine-dominant ultramafic mantle 
wall-rocks). Upper-mantle xenoliths are extrem
ely rare in tholeiitic and fractionated basaltic 
rocks (both continental and oceanic), but rela
tively common in alkali basalts from both ocean 
islands and continental settings. They also are 
common in a range of more ultramafic intrusive 
and eruptive rocks, ranging from kimberlite to 
lamproite and ultramafic lamprophyres. The host 
magmas for xenoliths are generally generated in 
the asthenosphere (O'Reilly & Griffin, 2010) or at· 
least at deeper levels than the lithospheric mantle 
regions from which the xenoliths were sampled. 

Kimberlites and related rocks typically erupt 
in intraplate continental (usually cratonic) set
tings, and carry xenoliths of harzburgite (olivine+ 
orthopyroxene), lherzolite (olivine+ orthopyrox
ene+ clinopyroxene± spinel± garnet) and eclog
ite (clinopyroxene + garnet: the high-pressure 
form of basalt), derived from maximum depths of 
180 to 220 km (O'Reilly & Griffin, 2006 and refer
ences therein). Alkali basalts and related rocks 
typically erupt in off-craton settings (mobile 
belts, young tectonic terranes, rifts, ocean islands) 
with relatively thin lithosphere; they commonly 
carry xenoliths of spinel (±garnet) lherzolite and 
pyroxenites (± garnet) derived from maximum 
depths of 60 to 80km (Nixon, 1987). All of these 
rock types have densities significantly greater 
than their host magmas (Kushiro et al., 1976; 
Spera, 1980,' 1984), so their transport to the sur
face provides some minimum constraints on the 
ascent velocities of the magmas from mantle 
depths. Geochemical and microstructural evi
dence for the thermal history of the xenoliths can 
provide further constraints. 

ENTRAINMENT OF XENOLITHS -
BRITTLE FRACTURE IN THE 

UPPER MANTLE 

At upper mantle temperatures and pressures 
(depths of 50-250km and temperatures of 1,000-
1,3000C), mantle rocks have been shown to 
deform plastically (Raleigh & Kirby, 1970; 
Mercier & Nicolas, 1975; Nicolas & Poirier, 1976; 
Mainprice et al., 2005), at least in response to 

long-term stresses. However, the entrainment of 
xenoliths in an ascending magma requires that 
fragments of rock can be broken off the walls of 
magma chambers or conduits, a process that 
implies brittle fracture in response to short-term 
stresses. 

Xenoliths, and particularly those derived from 
the upper mantle, are commonly referred to as 
'nodules', implying a rounded shape. However, a 
study of over 4,000 mantle-derived peridotite 
and pyroxenite xenoliths in basaltic flows, 
dykes, sills and cinder cones from Australia and 
Spitsbergen (O'Reilly, unpublished data; 
Skjelkv~'tle et al., 1989) shows that they are typi
cally angular to subangular and many have 
polygonal and facetted shapes (Figure 6.1a, b, c). 
Significant rounding is restricted to xenoliths 
from breccias or those associated with the more 
explosive eruptions such as maars, diatremes 
and some cinder cones. Xenoliths in kimberlites 
are typically more rounded than those in basalts, 
but many display planar faces (Figure 6.1d). This 
rounding appears to reflect tumbling of xeno
liths during turbulent ascent and eruption; we 
infer that at the time of their entrainment, most 
xenoliths are angular, and originated by brittle 
fracture. 

Most spinel lherzolite xenoliths from alkali 
basalts, when subjected to mild hydraulic stress, 
split along planar surfaces in up to three differ
ent orientations, suggesting that pre-existing 
planes of weakness were present in the original 
upper-mantle wall rock. Basu (1980) described 
similar jointing in spinel lherzolites from San 
Quintin, Baja California, and concluded that 
these planar features formed because of high 
differential stress in the mantle, predisposing 
the wall-rock to be entrained in ascending 
magma. 

The occurrence of common planar dykes, joints 
and faults in the upper mantle was shown by 
Wilshire & Kirby ( 1989) to be widespread, using 
examples from xenolith suites worldwide and 
also by reference to observations of straight-sided 
dykes cross-cutting other structures in exposed 
peridotite massifs. 

The presence of fluids is probably a significant 
factor in generating brittle fracture ('hydrofracting' 
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or 'shear fracture' (Wilshire & Kirby, 1989)) at the 
depths of magma generation and along magma 
conduits. Spera (1984) suggested that where the 
overpressure of a volatile-rich magma exceeds a 
critical value, crack propagation ensues in the 
overlying wall-rock, and proceeds at a velocity of 
centimeters to meters per second. Shaw (1980) 
demonstrated that localized shear fractures can 
result, showing a geometry that is consistent with 
the orientations of planar faces on polygonal xeno
liths. There is abundant evidence that fluids in the 
mantle produce such fracturing. Many metasoma
tized xenoliths contain planar veins of amphibole 
or mica (<0.1 mm to >lOcm wide; Figure 6.1e). 
Cross-cutting planar veins oriented in up to three 
directions are reported from several localities 
worldwide (Wilshire et al., 1980, 1991; Skjelkvale 
et al., 1989; Figure 6.1£). Other evidence for fluids 
within the mantle is provided by the presence of 
fluid inclusions within mineral grains. These 
inclusions typically define planar arrays, repre
senting planar fractures; the fractures filled with 
fluids, which were trapped as inclusions with 
shapes that proceeded from amoeboid to negative
crystal forms as the host grain recrystallized to 
reduce its surface free energy (Roedder, 1984). 

Detailed studies on volatiles and fluids in 
mantle-derived xenoliths and megacrysts have 
been carried out on samples from basalts in east~ 
ern Australia, particularly western Victoria 
(Andersen et al., 1984, 1987; Porcelli et al., 1986; 
O'Reilly, 1987; O'Reilly et al., 1990). Xenoliths 
from western Victoria contain up to 3% by vol
ume of crystal-lined cavities and fluid inclusions, 
all inferred to have been filled mainly with C0

2 

at high pressure. Andersen et al. (1984) surveyed 
samples from xenolith-bearing localities world
wide and showed that xenoliths containing sig
nificant volumes of fluid cavities and fluid 
inclusions are confined to explosive-eruption 
vents such as Bullenmerri-Gnotuk (Victoria; 
Andersen et al., 1984); Anakie (Victoria; Wass & 
Hollis, 1983 ); Spitsbergen (Amundsen et al., 1987; 
Skjelkvale et al., 1989); Craters 160 and 387 
(Arizona; Andersen et al., 1987); and Salt Lake 
Crater, (Hawaii; unpublished data). E. Roedder 
(personal communication, 1983) has pointed out 

that such volumes of fluids represent high fluid 
pressure within the xenoliths relative to the 
magma, and that the direction of any volatile 
flow would be from the wall-rock- and the xeno
lith - outwards into adjacent magma. The pres
ence of large volumes of fluid in some deep-seated 
wall-rocks therefore may favor brecciation and 
preferential entrainment of that horizon in the 
ascending magma, when heat from the magma 
leads to rapid outgassing of the wall rocks. 

ASCENT VELOCITY: 
CONSTRAINTS FROM THE 

TRANSPORT OF XENOLITHS 

In the 1960s, there was considerable controversy 
over the origin of the common peridotite frag
ments found in some basaltic to kimberlitic rocks 
worldwide; do they represent crustal cumulates 
from mafic magmas (O'Hara & Yoder, 1967) or 
are they actual samples of the mantle (Green & 
Ringwood, 1967)? Subsequently, after a mantle 
origin for the majority of such peridotite xeno
liths was confirmed, there was debate over the 
degree to which mantle-derived xenoliths repre
sent-pristine samples of the upper mantle, or had 
re-equilibrated (thermally and/or composition
ally) on their way to the surface. This debate led 
directly to the first attempts to quantify magma 
ascent rates. Most of the studies on this topic 
therefore derive from the 1970s and 1980s because 
of the very topical questions involved (then 
solved) at that time. Kushiro et al. ( 1976) carried 
out laboratory experiments on the static settling 
rates of olivine crystals in different magma com
positions; the experiments simulated laminar
flow conditions. The results imply maximum 
ascent times of 60 hours for xenolith-bearing 
basalts, corresponding to minimum ascent rates 
of -1 km/hour (0.28ms- 1

). Spera (1980, 1984) used 
Stokes' law, rheological parameters derived from 
numerous sources, and the assumption of 
Bingham behavior (in which the fluid has a finite 
shear strength) for the magma. For a Newtonian 
fluid (no shear strength), the ascent velocity can 
be calculated from the relationship: 
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where g is the gravitational acceleration, dis den
sity, r is the radius of the xenolith and J1 is magma 
viscosity. Magma densities can be estimated from 
bulk composition using relationships given by 
Bottinga & Weill (1970L whilst viscosities can be 
estimated at a given T by the methods of Shaw 
(1972) and Scarfe et al. (1987). If Bingham behav
ior is assumed, in order to account for the pres
ence of other solids in the magma, p must be 
replaced by a more complex term depending on 
the proportion of solids (Marsh, 1981). 

As an example, Spera (1980) found that the 
transport of a 20 em-diameter spherical xenolith 
of density 3.3g/cc (a typical peridotite) in a basal
tic magma containing 15 volume percent of phe
nocrysts would require a minimum ascent rate of 
-O.lms-1. 

This methodology has since been applied to a 
range of magma types and xenolith types. Most 
estimates for the ascent rates of alkali basalts 
thus fall into the range of 0.1 to 0.5 ms- 1, with the 
highest rates corresponding to peridotite xeno
liths -40cm in diameter. Wass & Pooley (1982) 
described lherzolite xenoliths up to 60 em across 
from alkali basalts at Wallabadah (New South 
Wales, AustraliaL which had undergone concen
tric zonal alteration by carbonate-rich fluids dur
ing an extended residence time at mantle depths; 
the resulting decrease in density probably allowed 
the transport of these unusually large mantle 
fragments. Morin & Corriveau (1996) calculated 
the ascent rate .of a minette magma as -O.Sms-1, 

based on the presence of 40 ern pyroxenite xeno
liths. The ascent rates for kimberlites are difficult 
to estimate because of the uncertainties in esti
mating viscosities; the intrinsic melt viscosity is 
probably low, but the common presence of abun
dant xenoliths and xenocrysts would raise the 
effective viscosity. Some kimberlites carry xeno
liths of eclogite (d = 3.5gcm-3 ) with diameters up 
to 60cm, suggesting ascent rates of several tens of 
ms- 1

• Sparks et al. (2006), recently summarised 
some of the other evidence (mainly fluid-flow cal
culations) for kimberlite ascent rates and sug
gested generalized dyke speeds (within the crustal 

regime) of >4 to 20ms-1, in agreement with ascent 
rates inferred from xenolith data. 

These rates probably represent minimum esti
mates, because of the effects of volatiles in the 
magma. As noted above, many xenoliths contain 
evidence for the presence of volatiles (mainly 
C0

2
) at depth. Other evidence for the important 

role of mantle-derived C0
2 

includes: common 
cementation of basaltic breccias by carbonate 
(Emerson & Wass, 1980); vesicle linings of Fe-Mg
rich carbonate (Andersen et al., 1984); carbona
tion of some high-pressure xenoliths (Wass & 
Pooley, 1982); the high carbonate contents of kim
berlites; and observations from recent Alaskan 
maars (Barnes & McCoy, 1979) that primary C02 

is outgassing from the underlying mantle. 
Spera (1984) carried out detailed fluid-dynamic 

modeling to test the hypothesis that high volatile 
contents in solution in magmas may act as propel
lants, enhancing velocity of ascent; he concluded 
that the propellant effect is relatively small. 
However, the exsolution of volatile components 
during magma ascent has a more important impli
cation for the estimation of ascent velocities. 
Exsolution of volatiles (the generation of 'bubbles') 
decreases magma viscosity, and the magma-bubble 
mixture also has lower density (O'Donnell, 1984); 
both effects mean that a greater ascent velocity is 
required to prevent xenoliths from dropping out. 
An additional significant effect of volatile content 
is that exsolution of C0

2 
will result in heating of 

the magma, rather than the cooling that accompa
nies exsolution of H

2
0 (Spera & Bergman, 1980). 

This means that ascending C0
2
-rich magmas such 

as some alkali basalts, kimberlites and lamproites 
are unlikely to freeze (experience 'heat death') dur
ing ascent (Spera, 1984). 

GEOCHEMICAL AND 
MICROSTRUCTURAL 

CONSTRAINTS 

Geochemical and microstructural approaches to 
evaluating ascent rates are based on estimates of 
the rates at which xenoliths have been heated 
during transport in the host magmas. Since some 
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of this heating, at least in the deepest-seated 
xenoliths, may have occurred before the initia
tion of magma ascent, these methods define min
imum values for ascent rates. 

Kimberlites commonly contain highly sheared 
xenoliths of garnet lherzolite; P-T estimates typi
cally place these near the deepest levels ( 180-
200 km) sampled by the individual kimberlites. 
In these mylonite-like rocks, porphyroblasts of 
olivine, pyroxenes and garnet sit in a very fine
grained foliated matrix. In detail, the boundaries 
of olivine grains in the matrix range from finely 
interdigitated to planar, reflecting continuous 
recrystallization during deformation. Mercier 
(1979) measured the grain sizes of olivine neob
lasts in a number of these xenoliths and used 
experimental data on the kinetics of grain coars
ening to estimate the maximum length of time 
that the xenoliths could have resided at high T. 
The estimated residence times in the kimberlite 
hosts were 4 to 6 hours, equivalent to velocities 
of 10 to 20ms-1• 

Wanamaker ( 1990) studied secondary planes of 
C0

2 
fluid inclusions in olivine grains of peridot

ite xenoliths from alkali basalts; these planes 
were assumed to have formed and healed during 
ascent. Using experimental measurements of 
the rates at which fractures in olivine anneal at 
high T, he estimated magma residence times of 
80 to 170 hours, corresponding to ascent rates of 
0.5 to 1 ms-1: 

Patches of glassy or partially crystallized melts, 
formed by the infiltration of magmas, are com
mon in mantlecderived xenoliths, especially 
those in alkali ba~alts. These melt patches com
monly crystallize daughter minerals, resulting in 
zoning of the melt composition. Hofmann & 
Magaritz ( 1977) measured the diffusion rate of Ca 
in melts and concluded that xenoliths with glassy 
patches that retained CaO heterogeneity could 
not have resided in the magma for >-3 days, 
equivalent to minimum ascent rates (from 60 km 
depth) of 0.2ms-1• 

Selverstone ( 1982) calculated that xenoliths 
10cm in diameter will be heated to the tempera
ture of the host magma within three hours of 
contact. Such heating will induce diffusional 

exchange of elements between grains of different 
minerals, tending toward equilibrium at the 
imposed higher T. This provides a basis for using 
the zoning of adjacent minerals to calculate the 
total magma-residence time. Ozawa ( 1983, 1984) 
used experimental data on the diffusion of Mg 
and Fe between olivine and spinel to develop a 
'geospeedometry' method based on Mg/(Mg + 
Fe2+) zoning in spinel in Cr-diopside lherzolite 
xenoliths. Modeling diffusion profiles in individ
ual spinel grains, and correlating these with grain 
size, he estimated that spinel-lherzolite xenoliths 
in alkali basalts from the Ichinomegata crater 
(northeast Japan) had resided in the magma for 
<24 hours, giving ascent rates of >1.4ms-1• Bezant 
( 1985) applied this technique to a range of lherzo
lites in alkali basalts from eastern Australia. He 
calculated heating durations ranging from 4 to 24 
hours in different xenoliths, corresponding to 
ascent rates of 0.4 to 2ms-1• 

Peslier & Luhr (2006) used a similar approach; 
they used FTIR measurements to establish zon
ing profiles of OH abundance in olivine grains in 
spinel peridotite xenoliths from several olivine 
basalts. They found high H contents in the cores 
of olivine grains, and gradients to lower contents 
near the rims of grains. They interpreted these 
profiles in terms of H diffusing out of olivine 
grains upon heating in the host magma. Using 
experimental diffusion data, they calculated 
magma residence times of 18 to 65 hours, corre
sponding to ascent rates of 0.2 to 0.5ms-1• A sub
sequent analogous study on peridotite xenoliths 
from kimberlites (Peslier et al., 2008) indicates an 
ascent rate for kimberlites of 5 to 3 7 ms-1 although 
they caution that this estimation depends on the 
volatile and degassing behavior of the particular 
kimberlite. 

Cherniak & Liang (2007) have shown experi
mentally that orthopyroxene can preserve signifi
cant grain-scale compositional variation in 
rare-earth elements (REE) and predict that new 
data for REE diffusion rates and mineral-melt and 
mineral-mineral partition coefficients will make 
it possible to develop a REE-in-orthopyroxene 
geospeedometer for ultramafic rocks. Van Orman 
et al. (2001, 2002) and Tirone et al. (2005) provide 
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analogous REE diffusion data for clinopyroxene 
and garnet, respectively. Gallagher & Elliott 
(2009) have demonstrated lithium-isotope zoning 
in clinopyroxene due to the temperature depend
ence of lithium partitioning and diffusivity, 
which 'may be useful for tracing sub-volcanic 
processes'. At the time of writing, these possible 
geospeedometers for xenolith transport have not 
been tested, but may ultimately provide addi
tional methods for assessing ascent rates. The dif
fusion profiles for the REE in mantle minerals 
would be only about lOOnm long for timescales 
of xenolith ascent, and thus with present-day 
analytical constraints, are difficult to measure, so 
currently are useful for longer-duration processes. 
However, as Li has faster diffusion rates, it could 
prove applicable to xenolith ascent estimation. 

DISCUSSION 

Most of the calculated ascent rates for alkali basalts 
(0.2-2ms·1) are reasonably consistent, considering 
the varying precision of the parameters used and 
the range of approaches. The estimates for kimber
litic and lamproitic magmas are scarcer, but sug
gest higher speeds, on the order of tens of meters 
per second (generally -4-40ms·1). Wilson & Head 
(2007) have modeled the eruption of kimberlites, 
based on the propagation of a C0

2
-filled crack tip 

extending,above the magma; they adopt an ascent 
rate of several tens of ms-1 at depth, accelerating 
rapidly to near-supersonic speeds (::::300ms·1) when 
the crack breaks through the upper crust. 

These rapid ascent rates reinforce the validity 
of recognizing xenoliths as essentially unaltered 
fragments of deep-seated lithologies. They also 
are a strong argument against the concept that 
kimberlitic and undersaturated basaltic melts 
may rise slowly as kilometer-sized diapers. 
Rather, once a small percentage of partial melt 
creates a sufficiently high magma pressure, it 
surges up at high velocities (cf. Wilson & Head, 
2007). The general absence of deep-seated xeno
liths in tholeiitic magmas thus is probably related 
to their low volatile contents, and to the greater 
degrees of partial melting involved in their gene-

sis. These factors may reduce the potential for 
hydrofracture of the surrounding hot, weak, man
tle wall-rocks, and the initiation of ascent is prob
ably by slow percolation. In the absence of 
fluid-driven crack propagation, ascent velocities 
also will be lower and will allow settling of any 
entrained xenoliths. 

CONCLUSIONS 

The ascent rates of deep-seated magmas can be 
estimated using calculations based on the size 
and density of mantle-derived xenoliths, and from 
temperature-related diffusion phenomena (chem
ical zoning, grain-boundary adjustment) observed 
in xenoliths. These methods provide only mini
mum values, which range from 0.2 to 2ms·1 for 
relatively low-volume melts such as alkali 
basalts. Modeling of the eruption of kimberlites 
and similar volatile-charged ultramafic melts 
suggests rates of several meters per second 
(-4-40 ms-1) increasing to supersonic values as 
the propagating crack reaches the surface. High 
contents of C0

2 
in magmas do not provide a sig

nificant 'propellant effect' to assist xenolith 
tra,nsport as the density and viscosity of the mixed 
magma-fluid system decrease, but the exsolution 
of C01 both provides heat that helps to prevent 
the ill:agma from cooling during ascent, and 
enhances crack propagation. Magmas represent
ing significant proportions of partial melting, 
such as tholeiitic basalts, rarely carry mantle-de
rived xenoliths; this probably reflects ascent rates 
that are too slow to hold (or possibly incorporate) 
high-density xenoliths entrained in the magma. 
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SUMMARY 

The timescales of magmatic processes are some 
of the main physical variables that are still 
poorly-constrained in igneous petrology. This 
hinders our ability to quantify the rates at 
which many important processes operate, from 
the specifics of a single magma formation event 
at depth, to eruption, to the larger-scale Earth 
dynamics of crustal formation, differentiation, 
and recycling. Determination of the rates of 
magmatic processes is a complicated matter 
because a large variety of times and events are 
commonly involved in the petrogenesis of a 
given magma or rock suite. The paucity of 
information' and complexity of the topic make 
it challenging and exciting. New findings and 
real advances can be expected in the following 
years. In this chapter we show that modelling 
of the compositional heterogeneities of crystals 
can be used to determine the time scales of a 
variety of magmatic processes. We first intro
duce the idea of using the zoning features in 
crystals to disentangle the magmatic processes 
recorded in given rock, and later show how 
such zoning can be re-equilibrated by diffusion. 
The .diffusion equations and processes are dis-

Timescales of Magmatic Processes: From Core to 
Atmosphere, 1st edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 2011 by Blackwell Publishing Ltd. 

cussed in some detail, and we also provide a list 
of diffusion coefficients that have been used in 
the literature. We illustrate the determination 
of time scales using three examples that exploit 
zoning in quartz, olivine, and plagioclase. In 
the final part of the chapter, we first show that 
most timescales derived from diffusion studies 
are in the range of days to hundreds of years and 
this is in contrast with the thousands of years 
or longer found by most studies employing 
radioisotopic methods. We propose several pos
sibilities to explain such differences bearing in 
mind that some of the data, theoretical knowl
edge, and interpretations presented in this book 
are still evolving. 

INTRODUCTION 

The presence of chemical zoning in crystals has 
fascinated amateur mineralogists and scientists 
for over a century. Early workers recognized 
that crystals from magmatic rocks are zoned 
both at the hand specimen scale (e.g. crystals in 
granites and pegmatites) and at the thin section 
scale, shown by the variation of optical proper
ties of minerals under the polarizing microscope 
(Figure 7.1). Crystals were employed very early 
as archives of magmatic processes (Larsen et al., 
1938) because they record changes in their envi
ronments as growth and dissolution zones. 
When in-situ chemical analyses of minerals 
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in the case of topography, the gradient is of poten
tial energy. Here we will concentrate on re
equilibration mediated by volume diffusion 
through crystals. Diffusion can be described in 
terms of the processes that occur at the atomic 
scale (e.g. potential energy wells and atom 
arrangements in solids) and/or in terms of the 
macroscopic measurements done in the labora
tory (e.g. equilibration of concentration gradi
ents). Both formulations are described below 
sequentially but are complementary (Manning, 
1968). Here we present a relatively simplified 
view and equations of the diffusion processes 
that occur in silicate or oxide minerals, but we 
encourage the readers to take a look at Lasaga 
(1998), Watson & Baxter (2007), Chakraborty 
(2008), Costa et al. (2008) and references cited 
therein for a more in-depth treatment. 

Atomistic description of diffusion 

Diffusion in a mineral can be thought of as the 
relative movement of ions within the crystal lat
tice. This definition excludes flow of the crystal 
lattice, where all atoms move coherently. Atoms 
in the crystal move randomly and spontaneously 
due to their thermal energy. In other words, they 
move between lattice sites, even if there is no gra
dient in concentration. Crystal lattice sites, 
where ions tend to sit, can be thought of as regions 
of a lower, 'more stable energy, and therefore these 
form energy wells that hold the ions in place 
(Figure 7.3a). Some ions may have less energy 
than the average, leading to slower and less exten
sive vibrations, , whilst others may have more 
energy and may vibrate faster and over longer dis
tances, moving futther up the energy well. If the 
energy increases further, eventually an energetic 
ion may have enough energy to jump to an adja
cent energy well. 

If we think about how the diffusion may pro
ceed, it becomes apparent that an atom cannot 
jump into another site unless it is empty, or if 
another atom leaves. So either the two atoms 
exchange their positions, which is an extremely 
unlikely and energetically unfavorable situation, 
or there has to be a vacant site. Thus, diffusion 

may occur in solids because there are defects in 
the crystal structure. These can be relatively 
complex defects such as dislocations, or point 
defects such as vacancies or interstitial atoms 
(Figure 7.4). A vacancy is a charge-balanced 
defect within a crystal where an ion is missing. 
It enables diffusion, as there is no need to form 
a very high-energy transition state as in the case 
of direct exchange of two atoms between sites; if 
an ion possesses sufficient energy to escape into 
the vacancy, diffusion is likely to occur. Crystals 
have vacancies for two main reasons. First, a 
few missing atoms increases the number of pos
sible arrangements over the crystal sites com
pared to a 'pure' crystal, and so the creation of 
vacancies is favored as they increase the config
urational entropy. 

The free energy (G) can be described with a 
relation between the enthalpy (H), entropy (S) 
and temperature (T), G H- TS. Thus, it is favo
rable to create a certain number of vacancies at 
all temperatures above absolute zero, and as the 
TS term increases, so will the number of vacan
cies as the free energy of the system is lowered 
(Flynn, 1972). These types of vacancies are called 
intrinsic and dominate at high temperature. In 
natural crystals, point defects are in many cases 
associated with the incorporation of trace ele
ments (although they can also be associated with 
major elements) that have a different ionic charge 
than that of the regular atom. For example, we 
can consider the substitution of Eu3+ into plagi
oclase. Eu3+ has a similar radius to Ca2+ and sub
stitutes into the structure in much the same 
manner as however, the charge difference 
may lead to a cation vacancy through the follow
ing equivalence: 

where Ill denotes a vacant calcium site. These are 
called extrinsic vacancies. 

Whereas the extrinsic vacancies are fixed in 
number due to crystal composition, the total 
number of vacancies in a crystal increases with 
increasing temperature as the increased thermal 
energy allows the formation of more intrinsic 
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Fig. 7.3 Energies of sites as a function of traverses through a row of cations (small black ions). (a) Crystal sites in a 
pure homogeneous solid (e.g. MgO). All sites have the same depth of energy well, although the ions occupying the 
sites have variable energy states and may oscillate higher up the energy well at higher energies. (b) Crystal sites 
either side o( an interface. Here, the interface is assumed to be sharp, with two end-members separated by a sharp 
plane. One set of ions (black circles) are of a mineral composition with a lower free energy (G) than the pale ions 
(white circles), which have a higher value of G reflecting the pure end-member composition. (c) Crystal sites follow
ing homogenization. Here, the filled and unfilled circles are distributed to show mixing. The system as a whole has 
lowered its free energy relative to a mechanical mixture by the act of mixing, due to the entropy increase. Note that 
all crystal sites have lowered their energies to the same level. 

vacancies. In addition to more vacancies, increas
ing temperature also increases the number of ions 
of sufficient energy to jump lattice site, further 
increasing diffusion. The exact concentration of 
vacancies or point defects in crystals is difficult 
to determine experimentally as it is highly tem
perature-dependent but in general it is rather low 
(e.g. <10 lattice sites per million at 1,200 K; 
Dohmen & Chakraborty, 2007a). The low con
centration of point defects in silicates is reflected 

in the low diffusivities that have been experimen
tally measured for many elements. 

So far, we have described the process of diffu
sion simply driven by random oscillations of the 
atoms energies, without the involvement of a 
chemical gradient. Such diffusion is key in iso
topic homogenization, but it is not useful for 
major or trace element purposes, because it does 
not lead to a net flux of ions. The presence of a 
chemical gradient encourages mixing in any 
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Schottky defect Frenkel defect 

Fig. 7.4 Example of point defects in crystals. (a) Schottky defects are charge-compensated vacancies on different 
lattice sites, which may migrate independently but retain overall charge neutrality of the crystal.(b) A Frenkel defect 
is created by migrating an ion from a lattice site and either 'doubling up' in an adjacent site or by keeping that ion in 
an interstitial position, creating a vacancy on the original site. This typically is easiest in the case of ions with small 
ionic radii and low charge, such as Li. 

miscible system, as the free energy of the system 
as a whole can be lowered through the mixing 
process. If two miscible, end-member minerals 
are brought this is a high-energy state 
(Figure 7.3b) that is unstable relative to a mixed 
system (Figure 7.3c), which has a lower bulk free 
energy (G). The change in energy between states 
shown in Figures 7.3h and 7.3c, also referred to as 
the chemical potential, is the driving force for 
homogenization. The chemical potential leads to 
complexities as it determines the equilibrium 
organizatio!).al state of the ions. In particular, 
various crystallographic sites can be occupied by 
different elements that may have different 
charges; start to appear interactions between 
several different ions. Very quickly we have a 
multi-component diffusion process with a diffu
sion coefficient characteristic for each compo
nent (Lasaga, 1979).' A very common application 
of multi-component diffusion in our context 
occurs when trying to model zoning in garnets 
(Spear, 1993; Faryad & Chakraborty, 2005). 

Macroscopic description of diffusion 
and equations 

The other description of diffusion is much more 
familiar to everyday experience, since it can be 
seen as part of the chemical homogenization 

process of any heterogeneous mixture (e.g. coffee 
and milk). The equations to describe the chemi
cal diffusion were proposed by Adolf Fick in 1855 
after a series of experiments of diffusion of salt in 
water by Thomas Graham in 1833. The equation 
was derived for the flux of salt taking as analogy 
the laws of diffusion of heat and electricity, which 
were already proposed at that time (cf. Philibert, 
200S). These laws state that the flux depends on 
the gradient of the potential and on the type of 
material. Then the so-called Fick's first law takes 
the form of a partial differential equation: 

T=-Dac 
ax 

where! is the flux (e.g. mol m-2s·1j, Dis the diffu
sion coefficient, C is the concentration and x is 
the distance. A mass balance allows us to obtain 
Fick's second law that is used for modeling the 
homogenization of chemical gradients (in one 
dimension): 

8C(x,t) ~(DBC(x,t)) 
at ax ax 

where here we do not assume that D is independ
ent of position or concentration. This equation 
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describes how the concentration changes with 
time at every position of a concentration profile. 
With this equation we can see that to obtain 
robust timescales of magmatic processes, we need 
to consider the following points: 
1 how well we know the values of the diffusion 

coefficient; 
2 how well we have characterized the concen

tration gradients, paying special attention to 
the precision and spatial resolution of the ana
lytical technique that we are using; 

3 how we determine or infer the initial shape of 
the profile that we use to start the calculation 
(e.g. homogenous, ladder type, oscillatory). 
This is called the initial condition; 

4 the type of boundary between the crystal and 
the surrounding media (e.g. at the cryst~l rim). 
These are called the boundary conditions. 

These four points are developed in much more 
detail in the following sections. 

Solutions to the diffusion equation 

The solution to the diffusion equation can be 
analytical or numerical. Analytical solutions 
are typically in the form of an error function, 
Bessel function or exponentials and it is neces
sary to have a different solution for given initial 
conditions, boundary conditions and geometry 
(plane sheet, cylinder or sphere). Many common 
or simple situations have been solved and can be 
found in Crank (1975) or Carslaw & Jaeger (1986). 
Analytical solutions are very efficient because 
they provide the answer with little compu
tational time, but they are difficult to apply in 
many geological situations due to the complexi
ties of variable diffusion rate, chemical potential 
and multi-component diffusion. Figure 7.5 pro
vides an example of analytical solutions and 
clarifies the roles of initial and boundary condi
tions. There are only a few analytical solutions 
for the diffusion equation that involve a compo
sition-dependent diffusion coefficient. This lim
its their application because many elements in 
many minerals show compositional dependence 
(e.g. Fe-Mg interdiffusion in olivine; Dohmen 
et al., 2007). Numerical solutions to the diffu-

sion equation can be found using the techniques 
of finite differences (Press et al., 2007). The tech
nique uses an approximate solution to the par
tial derivatives with a Taylor series approximation 
and algebraic manipulations (see for example 
Costa et al., 2008). Numerical solutions have the 
disadvantage that the algorithms need to be writ
ten and that depending on the scale of the prob
lems and the desired resolution, a significant 
amount of computer time is necessary. The 
advantage is that the solutions are very versatile 
and can be adapted to almost any initial and 
boundary conditions or dependencies of the dif
fusion coefficient. 

THE DIFFUSION COEFFICIENT 

As we noted during the inspection of the diffu
sion equation, it is important to note what deter
mines the values of the diffusion coefficient. 
There are at least three definitions that are used 
to describe the diffusion coefficient, depending 
on the situation (Watson & Baxter, 2007; Costa 
et al., 2008). The simplest coefficient is that of 
self-diffusion, and applies only to the situations 
of atoms migrating without a chemical gradient. 
This would be related to the random motions of 
atoms that we alluded to in the first part of this 
chapter but it is mainly a theoretical definition. 
A related type of diffusion coefficient is used to 
describe migration in a homogenous solid, but 
where we add an isotope of one element to make 
the migration of the element measurable in the 
laboratory. This applies to the diffusion coeffi
cient of Fe in a fixed olivine composition, for 
example~ 80% forsterite. This coefficient is com
monly referred to as the tracer diffusion coeffi
cient and the symbol Dis commonly used. Note 
that this coefficient can depend on composition, 
for example, is different for olivine with dif
ferent forsterite contents (Chakraborty, 1997). 
This type of coefficient applies when considering 
the generation and re-equilibration of isotopic 
ratio disequilibria in crystals, for example, the 
equilibration of oxygen isotopes. The last type of 
coefficient is used for situations where a chemical 
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Boundary conditions: t>O, x->-oo, C=0.6 

X-400, C=0.8 

Initial conditions: t~o. -50< x<-50, C-0.8; x>50 
and-50>x, G=0.6 

Boundary conditions: 1>0, x-+oo, C=0.6 
X-+-ro, C=0.6 

Fig. 7.5 Three analytical solutions of the diffusion to typical initial and boundary conditions encountered 
when modeling natural crystals II dimension and without any of D on concentration or position). 
(a) This situation could be applied when a homogenous xenocryst is in liquid (e.g. mantle xenolith in 
a basalt). {b) This configuration could be used to model abrupt in composition that occur in the middle of a 
crystal, far from the rim or when diffusion distance is small. It has been applied, for example, to in sanidine 
or Ti zoning in quartz. (c) for modeling a zone of a distinct composition in the middle of the 
or at least far from the rims or when limited diffusion has occurred. This has been applied in Fe~Mg modeling in 

Solutions are .from Crank (1975). 
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potential gradient exists, which is commonplace 
in natural rocks. There are different types of for
mulations to describe chemical diffusion, depend
ing on the situation. For example, if we want to 
study equilibration of the forsterite component 
we can use the Fe-Mg binary interdiffusion coef
ficient without the need to consider what other 
elements are doing (e.g. Si or 0). In systems where 
there are more than two elements or components 
that are diffusing, for example Ca, Mn, Fe or Mg 
in garnet, we need to use a multicomponent for
mulation (Spear, 1993; Faryad & Chakraborty, 
2005). There is a strong link between the tracer 
and chemical diffusion coefficients through theo
retical models that allow calculating the chemi
cal diffusion coefficients from experimentally 
measured tracer diffusivities (Lasaga, 1979). 
Moreover, the equilibration of trace elements can 
be sometimes described using tracer diffusion 
coefficients because of their low concentrations 
(Costa et al., 2008). In general, it is a good prac
tice to start by studying the multicomponent 
formulations and decide which simplifications 
apply to describe the diffusion process that we 
have at hand. 

Parameters that control the diffusion 
coefficient and experimental 

determinations 

The values' of diffusion coefficients are mainly 
controlled by any variable that affects the con
centration of the point defects (e.g. vacancies) in 
the crystal, and temperature (T) is the major 
player. Pressure (n water fugacity (fHPL oxygen 
fugacity (f02L composition and crystallographic 
direction also play a role, depending on their val
ues and the mineral and elements of interest. The 
manner in which the different variables affect the 
diffusion coefficient is expressed with an 
Arrhenius-type equation: 

(
-Q- !':,. V(P -105

)) 
D=D ·exp 0 R·T 

where Q is the activation energy at 105 Pa, LIV is 
the activation volume, Pis the pressure in Pascals, 

R is the gas constant and Do the pre-exponential 
factor. The 105 Pa can be left out for many practi
cal purposes, because the effect of PonD is typi
cally only significant for P > 108 Pa (see below). 
The effects of oxygen or water fugacities, the 
composition or crystallographic orientation, are 
typically incorporated in the pre-exponential fac
tor D 

0
, although they may also have an effect in 

the activation energy (Costa et al., 2008). 
There are different protocols that can be used to 

determine the values of D, depending on the ele
ment, mineral or conditions (e.g. atmospheric or 
high pressure) in which we are interested 
(Holloway & Wood, 1988; Baker, 1993; Watson, 
1994). The crystals used in the experiments are of 
gem-like quality, free of inclusions, deformations 
or cracks, and of a well-defined and homogeneous 
composition. Although there are no real standards 
for diffusion studies, authors try to work with 
material from the same locality (e.g. olivine from 
San Carlos peridotite) or source (e.g. a given 
Museum of Natural History standard). This is 
important because different crystals may have dif
ferent trace elements and this could lead to dif
ferent point defect concentrations (extrinsic 
vacancies) and thus different diffusion rates. 
However, theoretical analysis of point defects in 
simple minerals such as olivine shows that this is 
typically not the case, because the incorporation 
of trace elements with different charges may lead 
to antagonistic diffusion effects that largely com
pensate each other (Dohmen & Chakraborty, 
2007a; Costa et al., 2008). It has also been experi
mentally shown that within uncertainty, the 
same results for diffusivity are obtained when 
crystals with the same major element composi
tion but coming from different localities are used 
(e.g. Fe-Mg in olivine; Dohmen et al., 2007). 
Sneeringer et al. (1984) found that natural sam
ples of diopsidic clinopyroxene had diffusivities of 
strontium two orders of magnitude greater than 
synthetic crystals of the same major element 
composition. However, the synthetic crystals 
were virtually Fe-free, which may have had a large 
effect on the defect concentration, from what is 
now known about the effect of Fe on cation diffu
sion in olivine (Dohmen & Chakraborty, 2007a). 
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The initial chemical gradient to drive diffmrion 
into or out of the crystal can be created in the 
laboratory in several ways. Immersing the crystal 
in a liquid or even a fine powder of the same (or 
similar) major element composition but doped 
with an isotope or trace element of interest (e.g. 
Mg in plagioclasei LaTourrette & Wasserburg, 
1998i REE in plagioclasei Cherniak, 2003j, or 
putting in contact two crystals of the same min
eral but of a different major or trace elements 
composition (e.g. Fe-Mg in olivinei Chakraborty, 

. 1997), are common approaches. A major advance 
in recent years is the possibility of making 
quality thin films (e.g. pulsed laser or plasma 
deposition) of a doped mineral in crystallographic 
continuity on a prepared mineral substrate 
{Dohmen et al., 2002). 

In the experiment, the diffusion couple is 
annealed, i.e. brought to the desired P, T and f0

2 

conditions, and left there for a well-controlled 
period of time. In the best cases, only one param
eter is varied (e.g. T) and the rest are kept con
stant (e.g. P and /0

2
). However, this is not always 

possible, for example, in many experiments oxy
gen fugacity is buffered by a mineral reaction and 
thus both T and f02 co-vary. Disentangling the 
effects of the different variables is sometimes 
possible (Costa & Chakraborty, 2008) but in many 
cases diffusion data is reported along a certain 
oxygen buffer only. The times of the experiments 
are on the order of hours to a month and the 
relatively slow diffusivities in solids, the length 
of the diffusion profiles are in general very short 
(e.g. some tens .of nm to some tens of !liD). 
However, the difference in experimental time 
and diffusion length scale between those used in 
experiments to characterize diffusion processes 
and those occurring in Nature does not really 
matter, as long as in both cases the main mecha
nism of transport is the same (e.g. volume 
diffusion). 

With the diffusion profile and the time of the 
experiments, we can obtain the diffusion coef
ficient using the appropriate solution to the dif
fusion equation. Experiments are carried out for 
different temperatures, and the pre-exponential 
factor (D0 ) and activation energy (Q) are obtained 

from a plot of Log D vs 1/RT at a given P 
7.6; the equation above). The uncertainty of 
experimental data vary depending on the type of 
diffusion couple and analytical technique, and 
are typically in the range of 0.1 to 0.2 log units 
(1-sigma). This error is reflected in the values of 
D 0 and Q, which have uncertainties on the order 
of 50% relative for D0, and <10% relative for Q. 
As the figure shows, the values of D

0 
and Q are 

linked by a straight-line relationship 
through the experimental data, where log10D 0 

is 
the intercept on the y-axis and the gradient of 
the line is -Q. If these two uncertainties are 
combined improperly, we may get D with a 
large error, so it is necessary to combine the 
uncertainties in and Q carefully due to their 
innate relation. 

Values for some commonly used 
diffusion coefficients 

In Tables 7.1 and 7.2, we have compiled some 
diffusion coefficients and equations of elements 
in olivine, clinopyroxene, feldspars, quartz and 
garnet (Ganguly et al., 1998; Van Orman et al., 
2002; Tirone et al., 2005) that have been well
characterized for main diffusion parameters and 
which have already been used, or have the poten
tial to be used, to retrieve timescales of magmatic 
processes. It is not our purpose here to report a 
complete database of diffusion coefficients, but 
rather to give an introductory list of elements 
that can be used to model data obtained with the 
electron microprobe or LA-ICP-MS analyses
There is scarce and sometimes controversial 
information for many other elements and miner
als but better quality data is necessary before it 
can be used to obtain timescales with confidence. 
The publications by Freer (1981} and Brady (1995) 
provide compilations of older data, and Cole & 
Chakraborty (2001) is, at the time of going to 
press, an up-to-date reference for oxygen. There is 
unfortunately no recent review of data that have 
been obtained since the year 2000, but an upcom
ing Reviews in Mineralogy and Geocl1emistry 
volume about diffusion is scheduled for publica
tion in 2010 and should remedy this deficit. 
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Fig. 7.6 Arrhenius-type of plot that is used to determine Q and D
0 

from a series of experiments where Dis obtained 
at various temperatures. An important point in considering the uncertainties for Q and D

0 
is that they are not inde

pendent. This means that the high D0 uncertainty should be processed with the high Q value to calculate one of the 
possible end-member diffusivities, and vice versa. As many diffusivity values are measured at relatively high tem
peratures, the rotation point about which the fitted lines rotate through the dataset (and at which the diffusivity is 
best controlled) may be close to the temperature of concern for the modeling, thus effectively decreasing the real 
uncertainties. 

We encourage readers to read the source publi-. 
cation of any diffusion coefficient before applying 
it to modeling natural crystals. It is necessary to 
determine that the conditions of temperature, 
pressure, oxygen and water fugacities, anisotropy, 
mineral compositions and chemical activities at 
which the experiments were performed are close 
to the natural case under consideration. This has 
been overlooked in many applications and can 
lead to spurious results. A final point to note is 
that the recent experimental and analytical 
advances allow diffusion coefficients to be deter
mined at the temperature and oxygen fugacity 
ranges relevant for most magmatic applications. 
It is therefore becoming less commonplace to 
extrapolate the data (and the consequent uncer
tainties of changes in activation energy) to tem
peratures strongly different from experimental 
conditions. 

MEASURING THE CHEMICAL 
GRADIENT 

In the previous sections we described how crys
tals may be chemically zoned by a series of proc
esses and that such zoning is the combined result 
of crystal growth, dissolution and volume diffu
sion. Later, we saw that these diffusion processes 
can be described by partial differential equations 
that can be solved either numerically using itera
tions or analytically, typically using error func
tions. In this section, we address the question of 
how we move from these theoretical considera
tions to actually obtaining a time from natural 
materials. Historically, the major-element zona
tion of some minerals such as plagioclase was 
constrained with the optical microscope by man
ually extinction angles of crystals in 
thin section. However, this is both subjective and 
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Table 7.1 Diffusion coefficients for different elements in olivine and clinopyroxene 

Olivine 
Fe-Mg and Mn 

Fe-Mg 

Ca 

Ni 

Cr 

Clinopyroxene 
(Fe,Mn)-Mg 
Yb 
Dy 
Nd 
Ce 
Lu 
Li 

Pb 
Pb 

Crystal 
orientation 

II [001] 

II [001] 

II [001] 

II [010] 
11[100] 

II [001] 

11[001] 

11[100] 

11[001] 
l. [001] 
_L[001] 

l. [001] 
l. [001] 
l. [Ob1] 
l. [010] 

l. [001] 
1.[001] 

X 

Fo: 0.86 

Fo: 0.86 

Fo: 0.83-0.9 

Fo: 0.83-0.9 
Fo: 0.83-0.9 

Fo: 0.9 

Fo: 0.9 

Fo: 0.9 

diposide 
diposide 
diposide 
diposide 
diposide 
diposide 
diposide 

Cr diopside 
augite 

f0
2 

(Pa) 

l.26E-08 

1.59E-09 

1.26E-08 

1.26E-08 
l.26E-08 

1.26E-08 

1.26E-08 

1.26E-08 

1.01 E-08 
QFM 
QFM 
QFM 
QFM 
QFM 
1 o-7 to 
10-11 

QFM 
QFM 

1E+08 

LiV·l0-6 

(m3 mol-') 

7 

16 

7 

9 

9 

6.17E-IO 

1.58E-15 

9.55E-11 

3.47E-11 
1.66E-11 

3.84E-09 

2.24E-07 

4.90E-06 

3.39E-09 
2.29E-05 
4.90E-04 
l.l2E-03 
7.94E-05 
6.03E-05 
2.90E-02 

S.OOE-07 
3.80E-05 

E (Jmol-') 

201000 

220000 

207000 

201000 
193000 

216000 

299000 

352000 

297000 
411000 
461000 
496000 
463000 
466000 
258000 

351000 
372000 

*Equation is given if it is not D =Do* Exp[-EIRT]; Data sources: [1] =Dohmen and Chakraborty (2007a; 2007b); [2] =Holzapfel eta/ (2007); 
Wiedenbeck (2006); [8] =Van Orman eta/ (2001 ); [9] =Coogan eta/. (2005a); [1 0] = Cherniak (2001 ). 

' 
~ 
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T oc P (Pa) 0 (m2s-') Observations Ref Equation* 

1100 100000 1.30E-17 Parameters for f0
2
> 1 o-to [1],(2] ( r = 0 J!!.L 1 o'r xra-o 9) 

Pa, see ref [1] for other " 1 o-' 
parameters depending 

ex{_ E+(P;~Q')t>VJ on f02 

D(,';.;{gMn "'Dl~;~g,Mn "'V6D(;,;:g,Mn 

1100 1E+08 9.32E-17 measured along NNO f02 
[3] 

fle-Mg.Fo86 _ D fH 0o g l E +(P -1 0
5)tiV] 

buffer 1ooti.NNo - o 2 expl RT 

1100 100000 6.70E-19 [4] (far = Do{wcuotoljocl] 1 0~, 

I l exp £[001],(0\0(,(001( J l----m:-
1100 100000 4.11E-19 [4] 
1100 100000 3.97E-19 [4] 

1100 100000 1.43E-17 [5],[2] 
0 N,,,,.o = 0 ( ro, ) v42 

(ool] o 1 0
_, 

exp[ f+(P~~0
5

)ilVJ 

,;l/6q~~1] 

1100 100000 9.44E-19 measured along IW f02 
(6] 

buffer 
1100 100000 1.99E-19 measured along IW f02 

[6] 
buffer 

1100 100000 1.70E-20 f02 dependence found [7] 
1100 100000 5.30E-21 [8] 
1100 100000 l.42E-21 [8] 
1100 100000 1.51E-22 [8] 
1100 100000 1.93E-22 [8] 
1100 100000 1.13E-22 [8] 
1100 100000 4.44E-12 [9] 

1100 100000 3.55E-20 f0
2 

dependence found [10] 
1100 100000 2.68E-19 [10] 

[3] (2005); [4] =Coogan et of. (2005b); [5] =Petry et ol. (2004); [6] =Ito and Ganguly (2006); [7] = Dimanov and 
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T°C P (Pa) 0 (m1s-') Observations Ref Equation* 

1000 l.OE+05 2.69E-18 dependence on An is [1], [2] DMg = 2 9210-4J'XAn-31 1_3_66000]· 
taken from that ofSr 

calc . . exp RT • 

1000 1.0E+05 4.70E-18 
1000 l.OE+05 5.30E-18 [3] 
1000 l.OE+OS 2.41E-18 [3] 
1000 1.0E+05 9.42E-19 [3] 
1000 105 to 108 3.49E-16 [4] 
1000 l.OE+05 l.44E-17 [4] .D'' =] 0'818 10-4\'XAn;-41 exp{- 27~~00]; 
1000 l.OE+OS 8.65E-19 [4] 
1000 1.0E+05 6.31 E-20 [4] 
1000 1.0E+05 1.62E-10 [5] 
1000 1.0E+05 1.60E-10 [5] 
1000 105 to 108 2.85E-16 [5] 
1000 l.OE+05 9.28E-17 [5] 
1000 l.OE+OS 1.24E-17 [5] 
1000 1.0E+05 3.87E-18 [5] 
1000 1.0E+05 6.28E-20 [6] 
1000 1.0E+05 1.28E-20 [6] 
1000 1.0E+05 3.73E-20 [6] 
1000 l.OE+05 1.12E-2.0 [6] 
1000 1.0E+05 1.01 E-21 [7] 
1000 1.0E+05 8.38E-21 [7] 
1000 1.0E+05 6.42E-22 [7) 
1000 1.0E+05 2.75E-22 [7] 
1000 1.0E+05 8.62E-22 [7] 
1000 1.0E+05 8.07E-22 [7] 
1000 l.OE+OS 7.39E-25 [8] 
1000 l.SE+os 2.38E-20 1000-1050°( [9) 
1000 1.5E+08 6.58E-21 900-975°( [9] 
1000 1.5E+08 1.11 E-20 [9] 

1000 1.5E+08 1.40E-18 [10] 
1000 1.5E+08 1.84E-16 [10] 
1000 1.0E+05 1.33E-18 [11] 
1000 1.0E+05 1.11 E-17 [11] 
1000 l.OE+05 2.03E-18 [11] 
1000 l.OE+OS 2.88E-18 [12] 
1000 1.0E+05 9.95E-20 [6] 

1000 l.OE+05 4.40E-19 [13] 

and Watson (1994); [4] = Giletti and Casserly (1994); [5] = Giletti and Shanahan (1997}; [6] =Cherniak (2002); [7] = Cherniak (2.003}; [8] = 
Cherniak eta/. (2007). 
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of too coarse a resolution to be useful in deter
mining timescales accurately. Optimal tech
niques have to have good spatial resolution (of 
the order of J.lm to tens of J.lm) and also a moder
ately good analytical resolution as a percentage of 
the contrast being observed (of the order of a few 
percent or less). These two factors trade off against 
each other, and it is better to have a technique 
with moderately good spatial and analytical pre
cision, than a technique that has one precision 
extremely good and the other poor (Figure 7.7). In 
order to fit a diffusion model to a profile, we need 
at least four data points within the profile, and to 
be certain that there are no overlaps between 
adjacent points. This allows us to account for the 
effects of convolution, where a data point is rep
resentative of a significant area and which may 
include overlap with the adjacent data points (see 
section below on 'The effect of convolution and 
multiple dimensions'). 

Analytical techniques 

The most common method employed by geolo
gists is that of the electron microprobe or Electron 
Probe Micro~ Analyser (EPMA). For certain mineral 
systems, Back -Scattered Electron Microscopy (BSE, 
or Z-contrast imaging) is also very useful. The use 
of trace elements increases the range of diffusivi
ties and magmatic processes that can be deter
mined from a given crystal, and the Laser-Ablation 
Inductively Coupled Plasma Mass Spectrometry 
(LA-ICPMS) or more specialized equipment such 
as the ion microprobe (or Secondary Ion Mass 
Spectrometry; SIMS) are commonly used. Other 
techniques that can be used but which are not dis
cussed here are Proton-Induced X-ray Emission 
(PIXE), Analytical Transmission Electron 
Microscopy (ATEM) and cathodoluminescence 
(CL; Wark et al., 2007). See, for example, Potts et 
al. ( 1995) for a more detailed description of all 
these in-situ analytical techniques. 

Electron microprobe 

The electron microprobe revolutionized the field 
of mineral analysis shortly after its invention by 
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Fig. 7.7 Uncertainties in the compositional determina
tion, or the size and position of the data point, can create 
uncertainty in the location of the true diffusion profile. 
This then translates into uncertainty relating to the times
cale of diffusion. This is illustrated here by showing the 
problems of fitting a diffusion curve in the case where 
there is (a) moderate uncertainty on position and composi
tion, (b) significant uncertainty on position and (c) signifi
cant uncertainty on composition. Note that the case with 
intermediate uncertainty is slightly better constrained, as 
shown by the smaller gray area between the curves. 

Castaing in 1951, and is still the main tool for 
performing microanalysis for major elements in 
geological materials (Castaing, 1951). The elec
tron microprobe uses a focused beam of electrons 
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that interact with the sample and produce 
that are characteristic of the elements present 
(see Reed, 1975, for more details). All elements 
with an atomic weight higher than -16 can be 
easily measured at concentrations than 
0.01 wt.% and with precisions of 0.5 to 10% rela
tive. Recent developments in spectrometer design 
allows measurement of light elements {B1 N, 
OJ and for some elements down towards the theo
retical detection limit range of lO's of ppm 
(Ginibre et al., 2002; Reed, 1975). With a focused 
beam, operating at 15 kV accelerating voltage, the 
minimum excited volume would be roughly a 
micrometer-diameter below the surface of 
the sample. However, beam sizes used for analy
sis are typically larger than a tightly-focused 
beam, as such high energy densities tend to dam
age the sample surface and encourage migration 
of more volatile elements such as sodium. 
Therefore, beam diameters of 5 to 20 microme
ters are not unusual. This is still the most versa
tile and accessible of the tools that we have 
available, however, and is necessary for the cali
bration of many other techniques, such as BSE, 
CL, LA-ICPMS and SIMS. Aside from one-dimen
sional traverses, we can also obtain X-ray maps 
and two-dimensional distributions of elements. 
There have been many applications of EMP to 
obtain timescales of magmatic processes, for 
example by using olivine (Klugel1 2001; Pan &. 
Batiza, 2002~ Costa &. Chakraborty, 2004; Costa 
&. Dungan, 2005, Shaw et al., 2006). 

Back scatt;ered electron imaging 

This technique relies on the elastic scattering of 
electrons from a focused electron beam as it is 
rastered across a sample in a Scanning Electron 
Microscope (SEM). The efficiency of the scatter
ing depends on the number of electrons in the 
sample, which is effectively controlled by the 
mean atomic number (Z) of the sample. Regions 
with high mean atomic number show up as bright 
zones in the image, regions with low mean atomic 
number show up as dark regions. Whilst the 
image only intensity proportional to mean 
atomic mass, and not any element-specific infor-
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Fig. 7.8 The electron backscattering efficiency of some 
elements shown as a function of atomic number. Note 
that heavier elements are more efficient. The image 
shows that Fe substitution for Mg (i.e. in olivine or 
pyroxene) would increase the backscatter brightness of 
a crystal, as would substitution of Ba for Cain feldspar. 
Calculated using equation 14.6 in {Reed, 1975 ). The Z-11 
diagram is useful in showing the magnitude of leverage 
that a substitution may have on the mean value of Z. 
Note that in a sense the Ba leverage in sanidine is 
anomalous; this is a case where a minor element has 
very large leverage, allowing the small amounts of Ba 
present to dominate the BSE 

mation, this can still be used if the range of sub
stitutions in the mineral is restricted, since the 
electron backscattering efficiency varies depend
ing on the atomic number (Figure 7.8). 

The main advantage of BSE is the good spatial 
resolution (of -O.l!lm), which may lead to a time 
resolution a factor of 100 shorter than equiva
lent EPMA analysis. The better spatial resolu
tion of BSE compared to EMPA arises from the 
fact that the majority of backscattered electrons 
are from the upper 50 to 200nm of the sample/ 
whereas X-rays arise also from much deeper 
(Reed, 1975). BSE has the drawback that follow
ing calibration, the compositional precision of 
the analysis is typically poor. A nominal compo
sitional resolution of -0.1 mol.% per shade of 
grayscale is possible, but this will often have a 
random noise of -0.3 mol.% (three shades of gray
scale) superimposed. Examples where BSE imag
ing has been applied to determine compositions 
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include the Anorthite-Albite Ca,Al - Na,Si 
exchange in plagioclase feldspar crystals (Ginibre 
et al., 2002), the Fe-Mg exchange in olivine and 
clinopyroxene (Martinet al., 2008; Morgan et al., 
2004), and also the Ba,Al-K,Si exchange in sani
dine (Morgan et al., 2006). 

Laser-Ablation Inductively Coupled 
Plasma Mass Spectrometry {LA-ICP-MS) 

This method of analysis uses a laser to excavate 
material from a sample, typically leaving a pit 20 
to 200 jlm across and a few micrometers deep. 
The excavated material is carried into a plasma 
mass spectrometer; typically a quadrupole instru
ment, for trace element analysis (Perkins & 
Pearce, 1995). This then determines the abun
dances of a (potentially large) range of trace ele
ments and the signal is calibrated to the 
abundance of a major element, such as alumin
ium or silicon, present in the sample. Compo
sitional precision is of the order of a few percent, 
and spatial resolution is relatively poor, at 20 to 
50jlm. The relatively large size of the beam lim
its the application to natural samples with rela
tively long chemical gradients, but see, for 
example, Costa et al. (2010). 

Secondary Ion Mass Spectrometry (SIMS 
and NanoSIMS) 

In SIMS, i small pit is ablated into the sample 
surface using an ion beam, typically using either 
negatively-charged oxygen or positively-charged 
caesium ions. The material excavated in this 
process is then. accelerated by a set of charged 
plates and fed through a magnetic sector mass 
spectrometer to a set of collectors (Slodzian, 
1964). As for LA-ICPMS, the abundance of a vari
ety of trace elements can be constrained, relative 
to the abundance of a major element, the amount 
of which has been determined through another 
method such as EPMA. One of the major prob
lems is that there are very important matrix 
effects that need to be corrected for, and in many 
cases a period of standard characterization is nec
essary before unknowns can be measured with 
confidence (Hinton, 1995). The abundances of 

elements can often be constrained to -1%, with a 
good spatial resolution of down to 211m. This 
method is possibly the most established for trace 
element analysis at the microscale, and whilst 
SIMS machines are certainly not common, there 
are usually established facilities at the national 
level to make these determinations. Recently 
there has been a development of the NanoSIMS, 
which can be used to measure profiles shorter 
than a micrometer and at low concentration lev
els (Hofmann et al., 2009). This is certainly a very 
promising option, although the complexity of the 
measurements does preclude a systematic analy
sis of zoning and it is only warranted on a subset 
of samples. There have been quite a few applica
tions of the ion probe to measure diffusion pro
files for timescale determination (Zellmer et al., 
1999, 2003; Costa et al., 2003). 

The effect of convolution and multiple 
dimensions 

It is very important when measuring the concen
tration gradients to be aware of the sample spot 
size of the analysis technique that is being used. 
The size of the analysis spots will influence the 
profile shape significantly if the size of the analy
sis is comparable to the size of the profile, leading 
to a convolution effect (Figure 7.9). There are sev· 
eral methods that can be used to deconvolve data 
(Ganguly et al., 1988; Morgan et al., 2004). A sim
ple one is to consider a circular sample spot and, 
ignoring depth of field effects, to look at contribu
tions from within that circular spot (Morgan 
et al., 2004). This leads to a sine-wave contribu
tion, dominated by the central point of the data 
analysis. Traditionally, convolution can be 
thought of as having a similar effect to a moving
window average of the dataset. If the true campo·· 
sitional profile is complex, and the sampling 
window large relative to the complexity, this cre
ates a smoothing effect on the data that is almost 
indistinguishable from diffusion (Figure 7.9). This 
type of convolution should be avoided if at all 
possible, and requires a good awareness of the 
technique resolution and the complexity of the 
compositional variation in the sample. 
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Fig. 7.9 This figure shows the most straightforward type of convolution where the analytical spot is large relative 
to the complexity of the compositional variation. (a) Sampling over a sharp interface produces a curved profile that 
looks to all intents and purposes like a diffusion profile, but which is actually produced by the analytical sampling. 
(b) When sampling across a diffusion profile, the effect of convolution is to broaden the diffusion profile appreciably, 
although to a lesser extent than in (a). (c) When convolution is applied to a profile of varying composition, it can be 
seen that the high-frequency and low-amplitude components of the will be most significantly affected by the 
convolution process, i4 the same way that they would suffer diffusion effects more strongly. 

In cases where the analytical spot is relatively 
small compared to the length scale of diffusion, 
the diffusion profiles themselves are typically 
smooth, showing a monotonic decrease or 
increase in the abundance of an element along a 
sigmoidal trajectory. To some extent, this miti
gates the effect of convolution. If we consider a 
simple diffusion profile, then a relatively small 
stretch is applied to the curve (Figure 7.9b). 

Problems start to occur when the profile displays 
significant and varying curvature. In this case, 
the effect is to lower any peaks, fill in any 
troughs, and make the diffusion profile appear to 
be wider than it really is (Figure 7.9c), and to 
make it difficult to ascertain what the initial 
condition might have been. As the diffusion pro
file gets wider relative to the analysis spot, the 
effect of convolution gets proportionally smaller. 
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However, as a diffusion profile gets wider, small 
deviations in profile width represent larger uncer
tainties in time. These effects trade off such that 
convolution is typically a constant, positive 
uncertainty in diffusion time, but always yield
ing timescales that are longer than the true, 
deconvolved value. 

The importance of multiple dimensions 

Most chemical zoning data are acquired on thin 
sections of rock and thus two-dimensional data 
can be obtained using imaging techniques such as 
BSE microscopy and X-ray mapping. The advan
tages of two-dimensional data for diffusion mod
eling should not be neglected: 
• It allows direct relationship to crystal textures 
and gives a much better appreciation of the con
text of the mineral zonation, both within a single 
crystal and between crystals. 
• Many minerals are strongly anisotropic for dif
fusion, with some crystal axes showing faster dif
fusion than others. This means that the diffusion 
coefficient is different for different orientations of 
traverse line and this can be incorporated into 
two-dimensional models. 
• Two-dimensional distributions can also be 
exploited to distinguish growth and diffusion if 
maps of elements with different diffusivities are 
compared to crystal morphology. 
• Diffusion is occurring in three dimensions, and 
whilst a one-dimensional solution is approxi
mately true when diffusion distances are small in 
the rims of relatively large crystals, as the extent 
of diffusion becomes greater, these solutions 
become less reliable, tending to strongly overesti
mate time. Two-dimensional modeling is more 
reliable than one-dimensional approximations. If 
two-dimensional distributions are not possible, it 
is a good practice to obtain two perpendicular 
traverses, which in turn are also perpendicular to 
the diffusion front to obtain profiles that approach 
the true diffusion lengths. 

As we are constrained by sample preparation 
to a two-dimensional slice through a three
dimensional body, there are some geometric 
considerations that need to be incorporated into 

3.24x 

Fig. 7.10 Illustration the effective stretching that can 
be caused by shallow sectioning. Both the distance x, 
and the shallower section measuring 3.24x, have been 
stretched by shallow sectioning, as neither part of the 
zoning is orientated perpendicular to the sectioning 
line. The true distance is X cos ( 1 r) or 0.956 X. Note 
however that the effect is much more pronounced for 
the shallower-dipping side of the crystal. 

our model. The orientation of our grain edges 
with respect to the sectioning plane should be 
perpendicular, but this is rarely the case, particu
larly in a thin section (Figure 7.10). The effect 
introduces a stretch factor onto our traverses. If a 
crystal boundary is aligned vertically, there is no 
increase. We can express the measured traverse 
length as a function of the true traverse length 
through simple trigonometry: 

measured = true 
cose 

where e is the angle between the boundary and the 
vertical (the perpendicular to the sample surface). 
In most cases this angle has to be measured by hand 
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as large as we would (Costa et-
2008). There have been different approaches to 
a"'''"'""""''r. the initial conditions; these fall 
into three 
1 shapes of the slow-diffusing 

elements, combined with a consideration of 
melt chemistry and partitioning, as a proxy for 
the initial profile shape of ele-
ments. A perfect candidate for this is 
plagioclase, where the slow diffusivities of the 
anorthite component involving coupled diffu
sion of NaSi-CaAl (Grove et 1984) are a 
good indication of the profiles created during 
magmatic processes and thus can be used to 
model the initial condition for the faster dif-

elements such as Mg or Sr (Costa et 
2003. 2010). 

2 assume a very sharp profile as the initial con
dition, in which case the time obtained is a 
maximum. This has been shown to be useful 
for modeling Fe-Mg in (Morgan 
et 2004) or Ti diffusion in quartz {Wark 
el 2007). 

3 use a homogenous initial profile and prove a 
posteriori that this is a good assumption by the 
consistent results obtained by modeling multi
ple elements and multiple traverses aiong dif
ferent orientations. Olivine has been a good 
candidate for such an approach because of the 
diffusion anisotropy of many elements (Costa & 
ChakraBorty, 2004; Costa & Dungan, 2005). 

We stress that these are just three types of ini-
tial conditions and others can be found in Zellmer 
et al. (1999, 2003), Costa et al. (2008) or Morgan 
Blake (2006). The other decision that 
we need to make is the type of boundary that is 
applicable to the problem that we want to model. 
Two end-member cases are an boundary 
where the does not matter or 
equilibrate with its surroundings liquidL and 
an open boundary where re-equilibration of the 
crystal with its host liquid occurs. In the case of 
u.cc•o"'"'"'" rocks and that are freely set in 
a liquid of a much mass than the crystals 
that we are it is likely that the bound-
ary of the will be open to exchange with 
the liquid. This open boundary condition has 

been applied in many studies and is mainly of 
two types: the concentration is constant with 

or the concentration at the boundary 
changes because of crystallization, mixing or 
changes in temperature and the coeffi
cients. It is difficult to imagine a natural situa
tion, related to the topic we are discussing, where 
an isolating boundary would be applicable. In 
situations where the chemical gradient we are 
modeling is not very and occurs far from the 
crystal margin (= the position of the boundary in 
our case) the results of using an isolating or open 
boundary would yield the same results and thus 
it is not important which one we choose. This 
situation for example, seen in the case study 
we describe below. 

Titanium diffusion in quartz 

In some respects, the diffusion of titanium in 
quartz is the simplest type of diffusion to 
model. has a single-component composi-
tion, with no real solid and no comtlOSl
tional for the diffusion coefficient. Al 
and Ti both occur as trace elements and due to 
their mutual low abundance, there is also likely 
to be no interference between diffusion of Al and 
Ti. Therefore, we can simply use the second equa
tion above without any compositional depend
ence for the diffusion coefficient and an analytical 
solution (Figure 7.5). Titanium uptake in quartz 
is effectively controlled by the temperature and is 
useable as a geothermometer !Wark & Watson, 
2006). Thus, Ti in quartz has been used to unravel 
the temperature fluctuations and high·· 
silica volcanic rocks (Cherniak et al., 2007; Wiebe 
et a.l., 2007), but in addition it is also useful to 
determine the timescales during which the tem
perature changes may occur. 

The determination of the Ti con-
ducted by Cherniak et al. (2007}, reports that 
there seems to be no noticeable anisotropy of Ti 
diffusion in quartz, with diffusion parallel and 
per-perrdi<~u!:ar to the [OOlJ axis being "v'"J:'""'au'" 
in rate. Ti diffusion is slow, even at the 
magmatic temperature of silicic melts (Table 7 .2.). 
r!bis means that the diffusion distances are 
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typically small relative to the crystal size, and,a 
simple, one-dimensional model is perfectly ade
quate to describe the diffusion accurately. Typical 
contents of Ti in quartz range from 10 to 600ppm, 
which is close to the detection limit by electron 
microprobe (-50ppm). Ti concentrations can be 
determined by using a calibrated cathodo-lumi
nescence (CL) since in many (but not all) 
samples, Ti abundance is observed to be propor
tional to CL intensity (Cherniak et al., 2007). 
With calibration, the intensity of CL emission 
can be used as a map of Ti concentration, pro
vided that due care is taken regarding the CL 
decay time, because luminescence has a 
cant emission time relative to the beam raster 
rate, meaning that beams must scan the sample 
slowly to avoid strong convolution. 

Once a CL image has been calibrated, the diffu
sion profile can be taken from the image and then 
modeled given a suitable magmatic temperature. 
As noted above, the peak Ti abundance can be used 
as a geothermometer if the Ti activity of the melt 
is known (Wark & Watson, 2006). However, this 
will be of dubious merit as the Ti content of the 
quartz crystal will have been modified by the diffu
sion process we are attempting to constrain, and is 
therefore likely to be somewhat unreliable. We 
could therefore use a different thermometer, and 
in silicic magmatic systems, other options include 
the ternary feldspar solvus (Elkins & Grove, 1990), 
plagioclase-melt (Putirka, 2005), zircon-saturation 
(Watson, 1979) or Ti-in-zircon (Ferry & Watson, 
2007) thermometers. However, in this case we also 
need to consider if the closure temperature of the 
geothermometer is higher or lower than the clo
sure temperature of the Ti diffusivity. 

Figure 7.12 is representative of the type of 
image from which work can be carried out. Note 
that the concentration profiles are short (-40 f.lm), 
indicating relatively little diffusion has taken 
place. In this case the initial condition was con
sidered a very sharp profile (type ii, above), and 
thus the entire length of the profile is due to dif
fusion. The boundary conditions for this example 
are not very important since the gradient occurs 
in the center of the crystal rather than at the crys
tal margin {our left boundary in this case) and the 

diffusion length is short. We would obtain the 
same time if isolating or open boundary condi
tions were used. The highlighted area was selected 
to take a diffusion profile, as the boundaries in 
this area are straight, a planar dissolu
tion which is more reliable. Picking the 
shoulders of the profile, the central 86% of the 
variation spans the central 26 micrometers of 
the traverse. We can combine this with the diffu
sivity of Ti in quartz (Table 7.2) and fit the data to 
a profile described by the equation (Figure 7.5): 

Where C(x.t) is the COmpositiOn at point X at time 
t, C 1 and C

0 
are the initial compositions on each 

side of the boundary, x is the distance from the 
boundary, D the diffusivity and t the time. This 
yields a timescale of diffusion calculated at 200 
to 900 years. In this particular example, this time 
would reflect the time spent at 789 ± 22°C, since 
the low Ti rim grew and the ensuing eruption. 

Major and minor element zoning in olivine 

Major element zoning in olivine has been used 
for some time to learn about magmatic processes 
and mantle xenoliths. The electron microprobe 
allows obtaining olivine major element zoning of 
Fe-Mg at standard conditions, and since current 
can be increased to 30 or 60nA without damaging 
the crystal, it is also possible to determine the 
concentration of minor elements Ni, Ca and Mn 
with relatively good precision (Costa & Dungan, 
2005 ). This makes zoning in olivine a very robust 
source of time information, since up to four time 
determinations can be obtained from a single 
traverse, allowing for a test of consistency of our 
hypothesis and models. 

One of the main particularities of diffusion in 
olivine is the marked anisotropy of diffusion 
(Table 7.1). For example, diffusion of Fe-Mg paral
lel to the [001] direction is about six times faster 
than parallel to the [100] or [010] directions, 
which each have about the same diffusion rate 
(Dohmen & Chakraborty, 2007a). This means 



···--·· ······---

148 t•ILH.:... CCSfA ANL' Ilo\NI£L .M.:.)l\.Go'~.N 

Fig. 7' 12 CatJmdolutnini:-.ct'n:>t: irr.;l~t: (If l:~J:m:.:. ~b.:wtn~ Ti :t.l):n:tion. n)!' ~elt.cled f<fKi(lll w.a!. a.=s~u L(J c-x~ta.,;t <l d!f
fllSiOfl proiile :ins.CL: aud ):")l'Y<e LiJne,.:; ran,gi:l.~ l:.o1u 200 LCJ 9(.'0 yeo~r5. Figllrc .u .. >1 chcnuomctry ootun:s; of D.: K.1~c 
~~under::., 

1 h.:lt in ~ddition to rncasvring tht! ~;L•nc'.:ntratlon 
gr.:tdien t~, ·we ~.tso necJ to nu:a!::itllc th\: u!'icnta.
Linn ol: the cryst~~lo&,wphjc mci::~ .in th<.: ~;r}'Sti•l of 
interest. Thi$. can he done ire SitTJ nsinr, el~::tron 
back~H~ilttcx diffraction patterns lVrior t~t. al., 
1999). 0(1(;~ w~ knuw du.: urientation of th.c crys. 
t.tllograph k :.,~es V'/t.' n"~~d ru cakuJatc chc diffn · 
sion cociiicient pttr;:t lld to lhe dcctwnmictopr<.'h<.; 
trav\.:rs~ thaa: \Vt: are in\ere:sLed in rnodding :.m.d 
thi• c:m be readily done hy nsiJlg the follow; n~ 
foxmula: 

D:·"'·~us- {):·OOII<:o.::oufL ~ D;•:mllco~ o,f'· 
.:.. ~·..,,~cvsy~i 

wh..:n: l)~,_ .•. ,_.R i~ l he diffusion co<:fiici~nt p<.U'<lllel 
t'="' the.: tr<.lver::>c direction iu which cotnpo~itiou ls 
meas.ur~d, J)?, D:·· :tnrl n;· :tr~ the diHu$i(IU c:flef{i
cieots p,.,-.n.:1 t,) t h• 1100), inlti" ""d [Om 1 pri noi
pal .~xes, and C't, Y., and"/ ar~ th£ a1~glc~ be ewe-en the 
uavcrs..: and eadt axi~, rc.:,pectivcJy. 

In adtlition w ti1c ani::>utrop)·, th<.: diffus.ion 
.. ·odiideuts of ~~ve!itl df':n'ler.lt~ ill oliviue h~vf': 
b~et1 e.ho1.\;rl t(• depent:J •)n the oxy~ec\ fu~nciLy .. 
~nrl lhe ol ivin~ .m a)or elemf':n 1 r:ornpo~ itiOl'l 1e:.g. 
l'e-t\11\ r;><iol. W• are Jortun;He that these eiler.ts 
lwvc boeu cxpcrimcuially calibrated i>cc T;~l>le 
7.1 for cquationti:l. Thi.! cuncentriltion depend· 
enct· oi the thih::::;ion \;Ocffici<.:nt pr<:cludes u':linJ; 
an analydcal solution for the modeling <mc.l tht:a$. 

. ·"l 
·:~);q.~ 

......... f 

!i 

I' 
+ l' 

i· 

I 
; 
I 

i 
·.1·,. 
.: •; 

r:' 

1 
l 
I 
i 
'. 
1: 
' I. 

l 
I 

i· 
I 



l j 

;: 
i ~ 

' 
;j 
il 
:i 
n. 

l 
.I 
I 
' I 

I 

f 
I 
~· 

I 
I ., ., 
I 
I .·• 

3.2years 

200 . 300 41>3 500 

Oistance (micrometersj 

I ig. -,,1 3 Exa.:l:ph: fJi :.:.fmin~ p:m e.rn ;tml diHusiun rn•>del:n~ ul l'~·M):l in olivine fru:n ~ h:t..-;.::;,lc nf t he Tarara-S:m Pedm 
\'Qk:mh: c;o:.r.-11lex. ~:tJ X·my rwt p r)£ M.g conc·::.nlrMion. R~d is high c<:mc:r:ntr:l~iOn .;~nd bht<.~ is 1ow. fbJ Crysl<lllvgt<lphi., . 
axis ori~n~ations lor the saute .;tyst!!.l and detu{~t. microprobe traverses projected on-.o the !a .... "er hen..~i;;phc:rc-. For 
th.is ;;~!-:;, rhl: :.nglts bctw•;cn ;ht.·. IWOI, 10101 ~\nd .UOJ ~ :~x~.~~ <1rc 2.9"',6.3e :m1'l $1°, rcspccti'\•cly, tlt'ld these have been 
u~e-d w ith t he alnh '<:' equatilm w <.'JOicul:tte D par;: I id w the t r.a\·trse (s::u~.1c1 f.o.-s terite p r.:)fih: =->:mwin.~ the. measun~d 
d:.H3., jni tial c.o!!ditions, mod.:l pmfiles, .tnd cak:u~ated time ior 1, :.25''C and oxygen fugacity ~L the Ni-NiO bu£ie1. 
':J11e diffusio;, !'l·,u:ld includes <1 ('.c ruposiliolla! dependence 1171T F~·~\g the c:ff<~r:t of oxygen h1g.1ci ty, <1nd the eHecc of 
:miSOtr"<IPY· 

w~ need to rely on nurneric.al . m odd::c Jscc 
Ap1><ndix of Costa eta/. 200Rj. 

In Figure. 7.1a we show t l1c x . ray map distrihu~ 

tion ot ?Y1g of som<.· olivincs front a basahic lava of 
the Tatara-San Pedro vokank <.:omplc.."'< (Dungan 
el.O/., 2001). TI!e.~e Cty.$\~JS are. d!OU)~lt tO bexen
OC.r.y.~I:S .• ~n.d they w~r~ duived frou1 g.:ll •broic pluM 
lon~ that were . parti;.lly asslmil;j£.ed. hy che 
ascending basaltS. Thu~ .. tnodeling r.heir zoning 
patterns provides some insight into th~ tim\:.s <.lf 
assilnilation of the ·crust by basaltic m 2!gmas. 1n 
this case th<.· mincral assemblage did not <.:ontruu 
a geothe.rmom\.:t\.:1' tha t war. .alr..:.ady calibrated .. 
,md so Cos1 a & Dungan (2005) u.;od 1.he MELTS 
tne.nnodynamic algoritbm ~Ghiorso & Sack, 
199:)) co o bta in a range of tempcratur<.' 11.125 ± 
?.SOC) • nd oxyge n iug;>ci tir.s •wu nd the 1'\i NiO 
oxyge.n bnr;~r. The crysl~J orientatiOJ.lS were 
determu-.erl by l'.llSU ~ntl the dillusion coeHicien L 
for Fe-i\-\g ........ H.h in lhe ~.-:j(ll pJe \•t:l!=: <'..>lk n i:Hed using 
stereographic .analyses and the equation above. 

For dt;• case, Costa & Duugan !2005) """'med a 
homog:cnou~ initial condition ~md open bomni;uy 
condition~ w·ith l'A'IOStail.t <.:<utr;eutr~aion ~•t tbe 
ri.rn. T his m2rle ~t.•lse within their .1 nrecpr~t\ltion 
that the crystal< were recycled from mafi.c plu
tonic rocks and thu~ it could be expected to have 
heen homogenized durin.~ cooling of the incru
sion. The findin& tru•t tlillerent elemcnt.s (\'l.ith 
tlif!J ... 'TCnt dHfnsivlties) ln differt..ot Ct)'.>tals g:-tve :1 

cohc renl :ul~, .. ·er using rhesc initial condi tion~ 

~o,·.:.ts take•~ a~ confirmation that the initial condi · 
tious were .1.ppropriate. The open boundary was 
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Fla.~ioclase trace element zoning 

Chemical 1.0ning in plagioclase has been use~l 
twm the eMiiest. times, since its z.uning can be 
~:tsily seen wich a pohu-i:.dng optiCtJ) microscope 
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in cross-polarized light. Major element zoning in 
plagioclase can be easily measured with the elec
tron microprobe. Some minor elements such as K 
and Fe can in most cases also be analysed using 
standard protocols. Mg concentration in feldspars 
from mafic samples can also be obtained with 
relatively good precision by EPMA provided that 
long counting times of 100 seconds are employed 
in both peak and background. If the plagioclase is 
Ca-rich (e.g. anorthite content higher than 
80 mol.%), the electron beam current can be 
increased by up to 30nA without damaging the 
crystals. Plagioclase contains quite a few trace 
elements, which have been well characterized for 
their diffusivities (Table 7.2) and thus it is worth 
going to the ion microprobe or LA-ICP-MS to 
measure their concentrations. 

The example of obtaining times from a zoned 
plagioclase is in most cases more complex than 
the previous two studies. This complexity arises 
because of two factors. First, the diffusion rates 
of many elements depend on the anorthite con
tent (Table 7.2) and thus unless we have a crystal 
un-zoned in major elements, we need to intro
duce such dependency in a similar manner to 
that employed for olivine. The other is that the 
equilibrium distribution of trace elements in pla
gioclase is also dependent on the anorthite con
tent and results from the activity coefficient for 
the trace element varying with the major ele
ment composition. Zellmer et al. (1999) and 
Costa et al. (2003) proposed to model this effect 
using the plagioclase/melt partition coefficients 
(Blundy & Wo~d, 1991i Bindeman et al., 1998) 
and derived the following expression (Costa 
et al., 2003 ): 

aci =( D a2
C; +'aci oD;J-~(v aci axAn 

ot l 1 
OX2 OX ax RT 1 ax OX 

+C. aD; oXAn +DC o2XAnJ 
1 ax ax 1 1 ox2 

where X An is the mol fraction of anorthite and A 
is a thermodynamic factor that relates the depend
ence of the partition coefficient on the anorthite 
content (Blundy & Wood, 1991i Bindeman et al., 
1998). One of the simplifications is that the CaAl-

NaSi diffusion is so slow (Grove et al., 1984i 
Baschek & Johannes, 1995) that the anorthite 
content is considered constant for the time that 
the trace element is diffusing. The first term in 
parenthesis on the right-hand side of the equation 
is Fick's second law with a concentration depend
ence of the D, and is the same that is used, for 
example, in modeling the Fe-Mg diffusion in oliv
ine. The second term accounts for the depend
ence of the activity coefficient on the anorthite. 
There is no analytical solution to this equation 
and thus it is necessary to solve it using numeri
cal algorithms. 

The example we show is from a crystal from a 
gabbroic xenolith from Volcan San Pedro (Costa 
& Singer, 2002). This crystal belongs to a suite of 
xenoliths that are thought to be part of a par
tially crystallized zone of from the margins of 
the San Pedro magma reservoir (Costa et al., 
2002). The major elements were measured with 
an electron microprobe and the trace elements 
with a Cameca IMS-4f ion microprobe using an 
0- primary beam at the Edinburgh ion micro
probe facility (Figure 7.14). What can be seen is 
that anorthite and all elements (Ti, Sr, Ba, La) 
except for Mg have a more or less homogenous 
core and then change abruptly at the rim. Costa 
et al. (2003) were interested in modeling the core 
to rim transition, as the presence of the rim indi
cates a melt migration event, and the diffusion is 
the result of re-equilibration following rim 
growth and prior to eruption. As an initial pro
file for Mg, they used the shape of the anorthite 
and the maximum Mg concentration measured 
in the plagioclase. This is a good approach 
because of the slow diffusivity of the anorthite 
content and because there are abrupt jumps in 
compositions that are seen in most elements. 
The left boundary was considered to be open. 
There were not many suitable geothermometers 
for this system and 850°C (±30°C) was used for 
the calculation, obtained by the hornblende
plagioclase geothermometer of Holland & 
Blundy (1994). Modeling of this crystal gave a 
time -140 years between the event that meta
somatized the xenoliths and the eruption (Costa 
et al., 2003). 



J 

I 

I 

I 
I 
I 
! 
' 

! 
j· 

' 1 
25<J 
2;;(1 • E • •• "' 150 " ....... 

i= ;OO 

50~ 
o- !!1•.~"~ 

···-t--r--Y"-

2000 • ... \. a. 1soo 
c. • 

IT> 1000 •• 
.. 4fl/llf•• 

600 

2:::0 ... ~·· l " 15{) c. 
Q. 

"' 100 .. • 50 ....... ~ 
0 

12 • •• •• • • <: ~ 
& 
5 4 • 

0 .... 
0 200 41)() wo 

Distance horn 1ir1J (tdCr<J!neta;·s) 

'rime Covsttaints 15 1 

f ig. 7.14 Nc·rm<lrski image o( pbgiocla$e thac has been ~naly,..c.<l with 
th~ clcc.tn.m micr<JI)J'ube for the m<'!~)r <;lemt~nrs ja.nvothite w ntentl, aHd 
with th•~ ~on mh:ruprobe fot ~h~ mu:e elements. (1'\'t~ .. Ti1 Sr, Ba, La I. The 
pits mad~::. by the ion m;(;rl)p(o\a: ate cleatl y visible in the t'orm:1.rski 
im:tg<.~ :md ha.••t: diamel~s between 1~) to 30!lJh. Th~ 2·<1 precision for 
most ~i.~n·h~nt!l is urodt:t 5% reladv~. O!lly la 1$ in snm.c c:1ses sli;;shtJy 
:lhm·e l fJ%. Note Lhe sh::lTJI Ghangt- ii'J.:!fl.orthite, which is ;:i)sc- o;.co:.~J) hy '1\ 
Sr, Ba Ln, wher<.'Jt» Mg.show·s a mm:h :o;moother pwfile. Ch•e.n tbe high<:r 
diffu.-;ivit)' o f f.'\g COl":lp:m:d tO Lh~se Ol..h.Ct' ltcH::c d<~mCDtS r rable 7.2:•, i tS 
pro(i\c n:fk ..:ts ('qlJHibrat\oll hetv/eet;. the core ~nd the ti.r.1. Tht- diffusion 
uu)llel gave.:~ (iDle uf -·l 40 years sin.n:. the :onro:ulon oJ the rim :!ssoci:m:d 
by th~ mct.,::-ornaLic ~t•ent <11:\d crupllon (Costa et al., 2000). Figure cuo·;U. 
lied (rom Co"• i'.I.OOO) an<! Cosu eta]. l'lOIXi). 



152 FIDEL COSTA AND DANIEL MORGAN 

Uncertainty in timescale determinations, 

One drawback of using diffusion to obtain times
cales is that the resulting time estimates may 
have significant uncertainties. This is partly 
related to the difficulty of precisely measuring 
diffusion coefficients (although this will continu
ally get better with improving experimental and 
analytical techniques), but also to the fact that 
diffusion rates vary exponentially with tempera
ture (see the Arrhenium-type equation above). 
This means that we need to know precisely the 
temperature of our natural samples if we want to 
have small uncertainties, and it makes sense to 
spend some time obtaining more than one tem
perature determination from more than one type 
of thermodynamic geothermometer. In addition, 
other variables, such as P, /02 and /H20, of the 
natural sample also need to be properly known. 
Other uncertainties may arise if our samples have 
experienced protracted temperature-time paths 
during cooling or crustal residence. The convolu
tion problem associated with detailed, small
scale measurements also has to be considered. 

But before we go into a detailed discussion of 
the uncertainties, it is worth noting that this 
technique allows obtaining many independent 
timescale determinations from a single rock sam
ple. Since we can obtain multiple profiles from a 
single crystal, we have an internal check for con
sistency; t4e situation gets better if we measure 
multiple elements with diffusivities measured 
from different laboratories and different crystals 
and protocols. With such a test we can have a 
more realistic estimate of the uncertainties 
involved for every case study. This exercise can 
be further improved if multiple crystals are used 
and if different minerals from the same samples 
are used. It is not uncommon to have >20 time 
determinations for a given sample. This allows 
for statistical treatment of the results and a better 
assessment of uncertainties. 

Uncertainties to be considered 

Many of the uncertainties have an exponential 
effect on the diffusion coefficient, and therefore 
on the determined time. This means that the 

uncertainties are asymmetric, running to larger 
values on larger timescales than the low-time 
side. However, these uncertainties are near
Gaussian in log-time, and so we can propagate 
the uncertainties effectively in log-units before 
converting back to absolute values. 

The uncertainties on temperature, the pre
exponential factor (D

0
) and activation energy (Q) 

values of the diffusion coefficients all have a loga
rithmic effect on the calculated times. The larg
est effect of all the uncertainties belongs typically 
to the temperature determination. Typical diffu
sivities vary rapidly with temperature variation, 
dependent on the activation energy and the tem
perature range. As an example, if we consider a 
system with an activation energy of 200kJ mol-1, 

the diffusivity increases by a factor of 4 between 
1 000 and 1 l00°C and this factor increases to 16 
if Q = 400l;J mol-/. With typical good thermome
try giving 2a uncertainties of ~30°C, this can eas
ily yield a factor of 2 or more uncertainty on our 
timescale estimates. In cases where experiments 
have been carried out to determine the equilibra
tion conditions, temperature uncertainty can be 
decreased to ~lOoC. 

There is a small correction to consider related 
to the calibration of the spatial resolution of the 
data. This could be the reproducibility and spatial 
resolution of the XY stage in the EPMA, or the 
quality of the magnification calibration (and 
hence the length scale) in the SEM. Typically, 
this is a relatively small effect, of the order of 1%, 
artd is thoroughly outweighed by the effects of 
temperature, Q or D

0
. However, under certain cir

cumstances, it may become significant. 

Combining uncertainties 

The logarithmic uncertainties can be combined 
together relatively straightforwardly. This requ
ires that they are calculated as one-sigma loga
rithmic uncertainties, and then combined as a 
root mean square log-scale uncertainty, which is 
then doubled to give the 2a uncertainty (roughly 
95% confidence). The combination above consid
ers that these contributions are independent. 
This is an assumption that is not completely 
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appropriate. Oxygen fugacities are often buffered 
by a chemical reaction, which has temperature 
dependence that therefore links the oxygen and 
temperature uncertainties. For mineral systems 
where this linkage is a strong effect (i.e. Fe-Ti 
oxides; Ghiorso & Sack, 1995), the uncertainties 
in oxygen fugacity and temperature should be 
combined first taking this into account, before 
combination with the Q and D

0 
uncertainty. 

RELATION OF TIMESCALES 
DETERMINED FROM MODELING 
THE ZONING PATTERNS WITH 

OTHER TECHNIQUES 

Modeling the zoning patterns of crystals or glasses 
provides relative time information about a given 
process occurring at a given temperature. The 
'clock' of the diffusion system effectively stops, 
once the temperature drops below a given value, 
as the diffusion coefficient will decrease by sev
eral orders of magnitude. In a volcanic rock, this 
is when eruption occurs, and thus the time we 
obtain spans that of the process that created the 
zoning (e.g. magma mixing) and the eruption. It is 
a relative timescale, although if we know the 
time of eruption we can convert this to an abso
lute time. In contrast, methods based on radioac
tive decay provide absolute ages since a magmatic 
event such as crystallization, but in order to get 
the relative time before the eruption we will need 
to subtract the eruption age from the radiometric 
results. Despite this main difference, it is worth 
noting that methdds based on radioactive decay 
are still dependent on diffusion rates through the 
concept of closure temperature (Dodson, 1973, 
1986). The closure temperature is a means of 
determining when a given crystal will become 
effectively closed for exchange with the environ
ment and thus when the radioactive system will 
become a reliable clock. For elements with fast 
diffusion rates such as Ar, this occurs at quite low 
temperatures, and thus isotopic systems with 
low closure temperatures are the way to obtain 
eruption ages in most cases. For systems with 
low diffusivities (e.g. Pb in zircon), the system 

closes at magmatic temperatures yielding crys
tallization ages. Crystallization ages need not be 
close to eruption, and by comparing eruption ages 
with crystallization ages we can obtain the pre
eruptive crystal residence times (Reid, 2003; 
Costa, 2008). 

Aside from. the basic fundamental difference in 
approach between radioisotopic and diffusion 
methods noted above, analytical constraints also 
impose important differences. The radioisotopic 
disequilibria systems yield information for times
cales comparable to the half-life. When investi
gating processes occuring over short timescales, a 
short-lived isotope therefore gives the best time 
resolution. This poses sample mass limitations, 
as the low abundance of short-lived isotopes 
demands either highly-enriched, or large-mass 
(i.e. multi-crystal) samples. Although possible, it 
is still far from routine to be able to employ 
U-series dating work with in-situ analytical tech
niques in most minerals, although great advances 
have been made with zircon (Charlier et al., 
2005). From this, it results that most U-series dis
equilibrium work is obtained either from a bulk 
crystal separate, multiple or whole single mineral 
grains. The potential for age differences between 
core and rim within single crystals gives a wealth 
of detail in the U-series measurement. In such 
cases, young rims may dominate short-lived iso
topic disequilibria (i.e.230Th-226Ra disequilibrium), 
while older cores may dominate the longer-lived 
isotopes (e.g.234UJ30Th disequilibrium). Under
standing the results may require significant inter
pretation (for a full discussion, see Charlier & 
Zellmer, 2000). The single-crystal nature of diffu
sion studies gives a different perspective, where 
individual crystals yield different timescales as 
part of a spectrum that spans the time over which 
crystallization processes operated. As recent 
studies of U-Th disequilibria in multiple, single 
zircon grains have shown (Charlier et al., 2005), 
the U-series data yield a similar kind of spectrum 
when treated at the scale of a population of single 
grains. This emphasises the need for both a popu
lation of measurements in diffusion studies, and 
for detailed interpretation of the complementary 
U-series data. 
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Summary of times obtained 
by diffusion 

The number of studies that have used diffusion 
modeling to understand magmatic processes is 
relatively low compared to those obtained with 
radioactive isotopes, but at the time of going to 
press is increasing very rapidly. One of the gen
eral findings is that the times are relatively short, 
from a few days to a few years, and rarely extend 
to more than about a few hundred years. Among 
the shortest times that have been determined 
are those of time of magma transport from the 
mantle to the surface1 which give several hours to 
days using H zoning in mantle olivines or Ar iso
tope re-equilibration in phlogopite (Kelley & 
Wartho, 2000; Demouchy et al., 2006; .Peslier & 
Lulu, 2006). However, in other studies of mantle 
xenoliths and xenocrysts Kliigel (2001 ), Shaw 
(2004), Shaw et al. (2006) and Costa et al. (200~) 
have used Fe-Mg zoning in olivine and obtam 
transport times that are longer, from some 
months to a few hundred years. 

Most determinations have dealt with magma 
mixing or the time since magma replenishment 
(or assimilation) and eruption. This focus reflects 
that such magmatic events are important for 
understanding volcanic hazards but also they typ
ically leave a clearly identifiable record in the 
crystals in the form of abrupt zoning patterns. 
This makes diffusion modeling more reliable, as 
the initial 'and boundary conditions can be identi
fied through characterization of the end members 
involved in mixing or assimilation. Many studies 
have used Fe-Tizoning in magnetite (Nakamura, 
1995a; Venezky & Rutherford, 1999; Coombs 
8 t al., 2000; Chertkoff & Gardner, 2004) or the 
major and minor element zoning in olivine 
(Nakamura, 1995b; Coombs et al., 2000; Pan & 
Batiza 2002· Costa & Chakraborty, 2004; Costa 
& Du~gan, ioos). Fe-Mg zoning in clinopyroxene 
has been used to determine the time between 
magma intrusion and eruption (Costa & Streck, 
2004; Morgan et al., 2004). Zoning of trace ele
ments (Sr, Mg, Ba) in plagioclase and Ti zoning in 
quartz has also been applied (Costa et al., 2003, 
2010; Wark et al.1 2007). 

Longer timescales have been obtained for the 
generation of silica-rich magmas by partial melt
ing or remobilization of crustal rocks. Oxygen 
isotopes in quartz and zircon (Bindeman & Valley, 
2001 ), and Sr and Ba zoning in plagioclase 
(Zellmer et al., 1999, 2003) give time ranges of 
between a few decades and a few thousand years. 
Morgan & Blake (2006) and Zellmer & Clavero 
(2006) have employed Sr and Ba zoning in sani
dine with similar results of thousands to tens of 
thousands of years. 

The majority of timescales that we report above 
range from a few hours to a few thousand years. 
These are in general significantly shorter than 
those obtained from radioactive isotopes that are 
in the range of a few IO's to lOO's of kiloyears 
(Turner & Costa, 2007; although see Sigmars~on, 
1996). This difference may have several ong~ns. 
First U-series reflects the entire growth history, 
whe;e diffusion may only address the time of rim 
formation. Second, diffusion only operates at high 
temperatures, and so if the system has been cooled 
and re-heated, the diffusion clock does not record 
the cool phases while the radiometric clock was 
still ticking. At the sarne time, the radiometric 
clock may also be 'opened' and the age reset 
depending on the closure temperature. It may pro
vide a complex picture if old crystals are recycled 
into the magma !e.g. classical discussion about 
residence times of silicic magmas). A third com
ponent to this difference is the half-life of the iso
topic systems; these make it difficult to see very 
short-lived events immediately prior to eruption, 
except for the rare cases when 210Pb-226Ra disequi
libria can be used (Condomines et al., 2003). We 
are not aware of any study to date that has applied 
diffusion modeling and radiogenic isotope dating 
to exactly the same crystals, although this is an 
area of active research. 

CONCLUDING REMARKS 

Chemical zoning in crystals is the main archive 
that we have about the magmatic and volcanic 
processe~ that magmas may experience betwee_n 
their formation and their solidification. In th1s 
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Plate 4.4 Porosity and perturbation vorticity I the vorticity minus the simple shear contribution) fields demonstrat
ing the development of low-angle shear bands in a numerical experiment based on a laboratory core deformation 
experiment. In this experiment n"' 6, a"' -27, and the shear strain is 2.79. Black lines are tracers which were initially 
vertical at commencement of shear, white dotted lines demonstrate the expected position due to only simple shear 
(modified from Katz et al., 2006). 
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Plate 4.5 Schematic of a bifurcating vein network. 
A large number of smaller veins upstream tap the 
background porous flow, and coalesce to form one 
large transporting dyke. 
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Plate 5.2 Illustration of multi-phase porous flow in a melting medium. As the system undergoes compaction the 
grains (white spheres) compress an..d the fluid is expelled upwards. 
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Plate 8.6 Compilation of whole rock (226Raj230Th) activity ratio vs Si02 content in island and continental arc volcanic 

rocks. The generaldecrease in (226Raj230Th) during differentiation (increasing Si0
2 

content; gray arrow) can be used to 

infer duration of differentiation and crystallization rate, assuming closed system differentiation and little fractiona

tion between Ra and Th during crystal fractionation. For instance, the thick curve shows the compositions during 

differentiation of a primary magma with (226Ra/230Th) = 6 and Si02 = SOwt. %. The curve is labeled in years of differ

entiation. The crystallization rate is set at 10-4 g/g/yr and bulk solid/melt partition coefficients for Ra, Th and Si0
2 

are taken to be respectively 0.001, 0.01 and 0.5. Fields show data from different arcs: 1: Tonga-Kermadec (Turner & 

Hawkesworth, 1997); 2: Vanuatu (Turner et al., 1999); 3: Marianas (Elliott et al., 1997); 4: Sunda (Turner & Faden, 

2001); 5: Nicaragua (Reagan et al., 1994); 6: Lesser Antilles (Turner et al., 1996; Chabaux et al., 1999); 7: New Britain/ 

Bismarck (Gillet al., 1993); 8: Aleutians (George et al., 1999). 
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Plate 10.4 World map showing locations (white stars) of some well-known large explosive volcanic eruptions (3100 km3 ) over the last 1 Ma (based 

on Self 2006 and Sparks et al. 2005). Note the abundance of supereruptions around the Pacific Ring of Fire. See Hughes and Mahood 2008 for a more 

exhaustive database. Base map from http:/ /geology.com/nasa/world-topographic-map/ 
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2
0-saturated dacite from Mt St Helens, constructed by Blundy & Cashman (2001) from 
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Plate 11.6 Schematic illustration of different ways in which gas can segregate from magma. (a) ascent of individual 
bubbles through low viscosity magma (e.g. basalt, carbonatite); (b) accumulation and coalescence of bubbles either at 
an interface (compositional, temporal) or by larger bubbles catching up with smaller ones; (c) gas flow through an 
interconnected network of bubbles; (d) deformation of bubbles and fracturing of magma in high stress regions such as 
along the conduit walls (high viscosity magma only). 
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chapter, we have seen that the zoning patterns 
cannot only be used to obtain information about 
processes, but also about the duration of such 
processes. The increasing precision and spatial 
resolution of in-situ analytical techniques will 
enable this field to grow considerably in the 

future. Time determinations from multiple ele
ments in a single crystal allow for very robust 
estimates; the only limitation that is starting to 
be apparent is that timescale determinations 
from natural samples require laboratory determi
nations of diffusion coefficients. This is a time
consuming process, especially if not only 
temperature, but also the roles of other variables 
such as oxygen fugacity or composition are to be 
determined. The good news is that thanks to 
recent analytical advances, the detennination of 
diffusion coefficients no longer require signifi
cant extrapolations to magmatic conditions. 
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SUMMARY 

Timescales of magma cooling and differentiation 
can be quantified by measuring and modelling the 
composition of uranium-series (U-series) isotopes 
in crystals and whole rock samples. The U-series 
isotope composition of crystals yields a wide 
range of timescales: from a few tens of years to 
several hundred thousand years. Magma differen
tiation is inferred to be generally rapid (a few 
1,000 years) at mid-ocean ridges and oceanic 
islands compared to island, continental arcs and 
intra-continental volcanic centres (>1,000 to sev
eral 100,000 years). For large volume, highly sil
icic rocks (dacites, rhyolites), timescales of 
differentiation > 100,000 years are generally 
inferred, reflecting the time required to heat up 
and assimilate the crust. U-series timescale infor
mation can be used· to distinguish between differ
ent models for magma differentiation. For 
example, a model of frequent magma recharge 
combined with crustal assimilation seems to best 
explain U-series isotope data in many instances 
(and is probably the most realistic physical model). 

Timescales of Magmatic Processes: From Core to 
Atmosphere, 1st edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 2011 by Blackwell Publishing Ltd. 

It is shown that, once the thermal regime that 
allows melting of the country rock is met (often 
requiring hundreds of thousands years), it takes 
only a few 1,000 years to produce highly silicic 
compositions. 

INTRODUCTION 

Most magmas originate in the mantle, or require 
mantle heat input, and previous chapters have 
explored how they are produced and transferred 
to the crust. Some magmas can be transferred 
directly from their source region to the Earth's 
surface, but most of them are stored for various 
amounts of time in the crust before eruption at 
the surface. Differentiation of magmas during 
storage is the main process responsible for the 
diversity of igneous rock compositions in the 
crust and an understanding of magma differentia
tion is required to understand this diversity. This 
question is also economically significant as a 
large number of ore deposits are related to the dif
ferentiation and/or degassing of magma bodies. 
Here, we use the term magma differentiation to 
refer to the compositional evolution of a magma 
that may be the result of various processes such 
as crystal fractionation, magma mixing or crustal 
assimilation (Figure 8.1 ). 



Magma Cooling and Differentiation 161 

t Recharge with 
primitive magma 

Fig. 8.1 Simplified diagram of the processes occurring in 
a magma body that promote differentiation. See Plate 8.1 
for a colour version of this image. 

Several mechanisms have been proposed to 
account for the differentiation of magma bodies 
but it is beyond the scope of this chapter to review . 
them in detail and the reader is referred to Winter 
(2001). An il.nportant driving mechanism of 
magma differentiation is the formation of crys
tals and their physical separation from the magma 
body (crystal fractionation; Figure 8;1). Newly
formed crystals deplete the magma in some ele
ments, termed compatible elements, such that 
their abundance in · the magma progressively 
decreases during crystal fractionation. Conversely, 
the abundances of elements that do not enter a 
crystal structure, termed incompatible elements, 
increase in the magma during crystal fractiona
tion. Thus, as a consequence of compatible or 
incompatible behavior, the process of magma dif
ferentiation, driven by crystal fractionation, 
causes the abundance of elements in the magma 
to decrease or increase, depending on which min
eral phases crystallize. In geochemical analysis, 

major element abundances are generally reported 
as oxides and the composition of most minerals 
in igneous rocks can be described as a sum of 
oxides. For instance, in basaltic systems, the ini
tial phases to crystallize are typically Fe-Mg rich 
phases such as olivine and pyroxene, and so the 
amounts of magnesium oxide (MgO) and iron 
oxide (FeO) in the magma tend to decrease as dif
ferentiation proceeds, whereas the oxide concen
trations of potassium (K

2
0), sodium (Na20) and 

silicon (Si0
2

) increase, as the fractionated miner
als are low in these components. Because of these 
types of differentiation trend, magma differentia
tion was first described geochemically using x-y 
diagrams of major element oxides against silica 
(Harker diagrams). Co-genetic volcanic rocks 
define trends in these diagrams termed liquid 
lines of descent. In some instances it has been 
argued that, instead of reflecting continuous 
magma differentiation by crystal fractionation, 
these trends result from mixing between a primi
tive (e.g. low Si0

2 
and high MgO) and an evolved 

magma (high Si0
2 

and low MgO). However, two 
end-member mixing cannot explain the inflec
tions observed from some elements in many liq
uid lines of descent and a combination of crystal 
fractionation and assimilation of wall-rock is 
often inferred to be important, leading to 
Assimilation and Crystal Fractionation (AFC) 
models (DePaolo, 1981). Because the energetics of 
crystallization, crystal settling, mixing and wall
rock melting differ, it is likely that the timescales 
of these processes will also differ and so the 
timescales of differentiation observed for a 
magma system may allow us to determine the 
relative importance of each process. 

For example, crystal fractionation can be driven 
by cooling of the magma body (by conduction and/ 
or convection (Spera, 1980)) or by degassing of the 
magma (Cashman & Blundy, 2000). In each case, 
associated timescales will be very different: cooling 
of a large, deep magma body occurs over times
cales >1,000 years, whereas degassing takes place 
over timescales of weeks to years. Consequently, 
a quantification of the characteristic timescales of 
magma differentiation is required to better under
stand what the driving mechanisms are. 
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As the fundamental process by which crystals 
and liquids separate, the rate of crystal settling 
can be modeled to gain an initial insight into the 
rate of differentiation. Assuming spherical oliv
ine crystals (radius= 0.1 em) in a basaltic 
liquid, we can use Stokes' Law to infer that they 
should settle by gravity at a rate of--1m per day. 
A 0.1-cm radius feldspar crystal would settle in a 
rhyolitic melt at a much slower rate of 2cm/year. 
Gravity settling is driven by the difference in 
density, p, between crystals and the liquid, and 
resisted by the liquid viscosity. The density is 
partly controlled by the amount of iron (Fe) in the 
liquid, whilst viscosity is a function of silica con
tent (increases polymerization), water and alkali 
contents (depolymerizing agents) and tempera
ture (depolymerization). Interestingly, whilst 
most crystals sink because they are more dense 
than the liquid, feldspar crystals (p 2.7 g/cm3 ) 

will float in a Fe-rich liquid (p >2.7 g/cm3 ). Thus, 
it appears that crystal fractionation is possible 
both in basaltic and granitic magmas, but settling 
is faster in basaltic magmas because of their lower 
viscosity. However, these settling velocities 
should be taken as maximum values for several 
reasons: 
• Crystals are not spherical. Non-spherical crys
tals {e.g. tabular, acicular or platy) will settle 
much slower; 
• Stokes' . Law assumes that the magma is a 
Newtonian fluid (i.e. a fluid with no yield stress, 
deforming as soon as a differential stress is 
applied). 

However, only basaltic magmas near or above 
their liquidus temperature behave as Newtonian 
fluids, (McBimey & Noyes, 1979). Once they 
begin to crystallize, they develop a significant 
yield strength that will dramatically reduce crys
tal settling rates. Consequently, it is difficult to 
predict the rate of magma differentiation by sim
ply studying gravity settling of crystals and other 
approaches must be considered. 

The development of uranium-series (U-series) 
isotope measurements in igneous rocks has given 
us the unique opportunity to greatly improve our 
understanding of the timescales of magmatic 
processes. Each daughter-parent system of the 

U-series records magmatic processes on various 
timescales that are a function of the daughter 
half-life. For instance, 238U-7.3°Th can record frac
tionation between these two isotopes up to 
300,000 years old, 230Th-226Ra up to 8,000 years 
old and 226Ra-210Pb up to 100 years old. Previous 
chapters have described how U-series isotopes 
can be used to quantify how fast magmas are pro
duced and migrate towards the Earth's surface 
(Bourdon & Elliott, 2010; Turner & Bourdon 
2010). In this chapter, we are interested in the 
processes that occur when magmas stall in the 
Earth's crust. Here, magmas cool down, crystal
lize and degas (magma degassing is discussed in 
detail in a separate chapter). We focus on the 
timescale of crystal fractionation, magma differ
entiation and the production of evolved volcanic 
rocks (i.e. high Si02 content). The cooling and 
crystallization of plutonic rocks may be slower 
and in any case, by the time they are exposed at 
the surface, such rocks are too old to be amenable 
to U-series analysis. 

Note that to gain access to the composition of 
the evolving magma, we have two possibilities: 
1 erupted glass provides a direct sample of the 

magma composition. However, glass samples 
·at sub-aerial volcanoes are rare and often lim
ited to highly silicic eruptions. 

2 sampling and analysis of the whole volcanic 
rock can also be used as a proxy for the compo
sition of the magma. Although a volcanic rock 
often contains crystals, because U, Th, Pa and 
Ra are very incompatible, their budget in a vol
canic rock will be dominated by the composi
tion of the groundmass, which reflects the 
composition of the evolving magma. 

The approach used here is to measure radioac
tive disequilibrium in mineral separates or whole 
rock samples. As explained in previous chapters, 
a radioactive disequilibrium represents the frac
tionation between a parent nuclide and its daugh
ter. The radioactive disequilibrium is expressed 
as a daughter/parent activity ratio, for example 
(230'fh/238U) activity ratio for the 238U-230'fh sys
tem, and (226Ra/230Th) activity ratio for the 230Th-
226Ra system (a common convention that we will 
follow in this chapter is that parentheses denote 
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activity ratios). Primitive magmas, i.e. prior to 
differentiation, are assumed to record the radioac
tive disequilibrium acquired during magma gen
eration and transfer, whereas minimal disequilibria 
are likely to be generated during crustal melting 
(Berlo et al., 2004). As seen in previous chapters, 
(
230Th/238U) ratios can be >1 or <1, depending on 
the source and the conditions of melting, whereas 
(
226Ra/230Th) is, in general, > 1 (because in most 
cases radium, Ra, is largely more incompatible 
than thorium, Th). In the following sections, 
we will see how processes related to magma dif
ferentiation (crystal fractionation, recharge and 
assimilation) can modify the activity ratios of a 
primitive magma and how this can be used to 
infer timescales of magma differentiation. 

FRACTIONATION OF U-SERIES 
ISOTOPES DURING MAGMA 

DIFFERENTIATION 

Crystal fractionation 

In previous chapters, we have seen how U-series 
isotopes fractionate during magmatic processes 
and how they partition between minerals and 
melt (Bourdon & Elliott, 20 lO; Turner & Bourdon, 
2010). The same concepts apply here, where 
U-series isotopes fractionate between a cooling 
magma and ilewly formed crystals. Whereas dur
ing partial melting, uranium (U), thorium (Th), 
protactinium (Pa) and radium (Ra) can fractionate 
significantly, depending on the mineralogy of the 
source and the conditions of partial melting 
(porosity, melting rate) (Bourdon & Elliott, 2010), 
these nuclides undergo little fractionation dur
ing crystallization as a result of their very low 
mineral/melt partition coefficients. An exception 
can arise when significant amounts of plagioclase 
accumulate in a differentiating magma, because 
Ra is enriched in plagioclase relative to Th, and 
this could potentially fractionate the (226Ra/230Th) 
activity ratio. However, in a study of volcanic 
rocks from Ardoukoba volcano (Asal Rift, Eastern 
Africa), Vigier et al. (1999) have shown that up to 
30% plagioclase accumulation affects (226Ra/230Th) 

ratios by only 0.1 to 7%. Thus, except when 
U-Th-rich accessory phases such as allanite, 
sphene or zircon fractionate, we assume that the 
variation in daughter-parent activity ratios, for 
example ( 230Th/~'8U) or (226Ra/230Th), in a magma 
body evolving as a closed system (e.g. no recharge 
by primitive magma, and no assimilation of the 
host rock) is primarily the result of radioactive 
decay. Consequently, variations of activity ratios 
in the magma should be a direct function of time 
and provide information on the timescale of 
differentiation. 

Magma mixing (recharge, assimilation) 

In the previous section, we considered only crys
tal fractionation in a closed-system magma cham
ber. In this case, we see that most of the variation 
in activity ratios in the magma is related to the 
residence time of the magma body in the crust, 
during which it undergoes differentiation. In real
ity, magma bodies can behave as open systems 
where different types of 'contaminants' can be 
added to the differentiating magma body: 
• Primitive magma that recharges the differenti
ating magma body. In this case, as the magma 
body differentiates, it is frequently or continu
ously recharged by a primitive melt, added to the 
magma body from the melting region. The primi
tive melt is likely to have higher activity ratios 
than the differentiating magma body, since activ
ity ratios decrease with time during differentia
tion as a result of radioactive decay. 
• Melts derived from partial melting of the 
country rock. Emplacement of magma bodies in 
the crust provides heat that promotes, in some 
cases, partial melting of the country rock. This 
crustal melt is likely to have a different U-series 
isotope composition than the differentiating 
magma body. Berlo et al. (2004) have shown that 
partial melting of the crust would generate con
taminant melts with little or no radioactive dis
equilibrium (i.e. activity ratios close to unity). 
This implies that: 

1 the radioactive disequilibrium observed in 
silicic volcanic rocks (e.g. dacites, rhyolites) 
cannot be produced by crustal assimilation; 
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2 mixing of mantle-derived magma with 
crustal melts will typically result in a 'dilu
tion' of the source-derived radioactive dise
quilibria of the differentiating magma, 
effectively hastening the return to secular 
equilibrium. 

TIMESCALES OF 
DIFFERENTIATION FROM 

U-SERIES ISOTOPES IN 
CRYSTALS 

Because minerals have different atomic struc
tures and compositions, partition coefficients for 
U-series isotopes of interest (238U, 230Th and 226Ra) 
vary for different mineral phases. Thus, the 
U-series isotope composition of minerals can be 
used to derive their crystallization age. Early 

studies used these crystal ages to constrain the 
eruption age of prehistoric eruptions (Kigoshi, 
1967; Taddeucci et al., 1967; Fukuoka, 1974; 
Peate et al., 1996; Condomines, 1997). However, 
obtaining eruption ages using this approach 
requires that the time lag between crystallization 
and eruption is negligible (Taddeucci et al., 1967; 
Allegre, 1968). If the eruption age is independ
ently known, it can be subtracted from the crys
tallization age and yield a pre-eruptive age that 
will reflect that time elapsed between precipita
tion of minerals from the differentiating magma 
and eruption. 

We first consider the 238U-230Th system. In this 
case, we use an isochron diagram that plots the 
daughter isotope, 230Th, against the parent iso
tope, 238U, both normalized to 232Th (Figure 8.2). 
In this instance, because the 238Uc230Th system 
records fractionations up to 300,000 years, 232Th 

0 
0 
0 

8 0 e3~hl32Th) 

(23oThp32Th ); 

~· t=O -·-c D 

Fig. 8.2 Schematic representation of mineral dating using the 238U-23D'J'h radioactive system. At t = 0, 4 minerals A, 
B, C and D crystallize with the same (230Th/232Th) activity ratio, (230Th/232Th), from a homogeneous magma, but with 
different U/Th ratios (hence, (238U/232Th) ratios). With time, 238U-230Th returns to secular equilibrium by radioactive 
decay. Gray diamonds show the composition of the four minerals after 100 kyr. They align along an isochron line. 
Thus, the measurement of (230Thj232Th) and (238U/232Th) in minerals with different U/Th ratios can be potentially 
used to date the age of their crystallization. Another scenario is when samples, represented as gray dots, form a verti
cal array. In this case, this suggests that they have evolved with similar U /Th ratios but have crystallized at different 
times. The samples closest to the equiline are the oldest, and their age can be calculated using the equation given in 
the text. The solid line is termed equiline and represents the compositions in secular equilibrium. 
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and 238U are treated like stable isotopes, since 
their half-lives are 14.1 x 109 and 4.4683 x 109 

years, respectively (Bourdon et al., 2003 ). If we 
analyse four minerals A, B, C and D that crystal
lized with different U /Th ratios from a homoge
neous magma at the same time, their (230Th/232Th) 
activity ratios will evolve with time to define an 
isochron, as shown in Figure 8.2. The slope, a, of 
this isochron can then be used to calculate the 
age of crystallization of these minerals, T (in yr): 

1 
T=--ln(a-1) 

1\. 

where 1\. is the decay constant of 230Th (in yr-1 ). 

To use this approach, the following assump
tions need to be made: 
~ Crystallization occurs in a closed system; 
• The different minerals crystallized at the same 
time; 
• Crystallization was rapid compared to the half
life of the system (e.g. 75 kyr for 238U-230Th, i.e. 
the half-life of the daughter nuclide); 
• The minerals crystallized from magma that 
had a homogeneous (230Th/232Th) activity ratio. 

The 238U-230Th system can be used to determine 
crystallization ages in the range 10 to 300 kyr, 
and results from a number of studies listed in 
Table 8.1 will be discussed below. 

For the 230Th-226Ra system, the approach is differ
ent because there is no long-lived or stable isotope 
of radium (Ra) that can be used to normalize 226Ra 
and 230Th activities, in the manner that 232Th is 
used for the 238U-z..'DTh system. Barium (Ba) is widely 
accepted to be the closest chemical analog of Ra 
and early studies employed an isochron diagram 
for 230Th-226Ra where 226Ra and 230Th activities were 
normalized to Ba concentrations. However, it is 
now well established that Ra and Ba partition dif
ferently (Blundy & Wood, 1994, 2003; Miller et al., 
2007). Thus, Cooper & Reid (2003) suggested an 
alternative method that uses a diagram of (226Ra)/ 
[Ba] (the ratio of 226Ra activity over Ba concentra
tion) vs time (Figure 8.3). In this diagram, the meas
ured (226Ra)/[Ba] ratios for mineral phases and the 
groundmass plot along they-axis. Using the meas
ured (230Th)/[Ba] ratios, the evolution back in time 

of (226Ra)/[Ba] for each mineral and the groundmass 
can be calculated (see Appendix A for equations). 
In addition, the evolution of the (226Ra)/[Ba] ratio 
for a melt in equilibrium with a given mineral can 
also be calculated. For instance, the dashed curve 
in Figure 8.3a describes the evolution of the (226Ra)/ 
[Ba] ratio in a plagioclase, pl. In the same diagram, 
the thick curve represents the evolution of the 
(226Ra)/[Ba] ratio calculated for a melt, meltpl' that 
would be in equilibrium with the plagioclase ana
lysed. Thus, the crystallization age of the different 
mineral phases can be solved graphically by look
ing for the intersection between the evolution 
curve for the groundmass, gm, and the melts in 
equilibrium with the different mineral phases, 
meltpx and meltpr Note that the precision of this 
method can suffer from: 
• Difficulty in estimating partitioning differ
ences between Ra and Ba; and 
" The contribution of impurities such as melt 
and mineral inclusions (Rubin & Zellmer, 2009). 
For this reason, in a study of Icelandic volcanic 
rocks, Zellmer et al. (2008) preferred to assume 
that Ra and Ba partition similarly, arguing that a 
correction for different behavior during crystalli
zation would not affect significantly calculated 
crystal ages but would introduce larger errors. 

Mineral ages have been gathered using the 238U-
230Th, and in some instances the 226Ra-230Th sys
tem, from various volcanic centers around the 
world. A compilation is shown in Figure 8.4 
where mineral ages have been corrected for erup
tion ages. Hence, these ages constitute pre-erup
tive ages, i.e. the time elapsed since crystallization 
of the mineral phases before eruption. Several 
observations arise from these results: 
• Minerals from mafic rocks have ages that can 
deviate significantly from their eruption ages (up 
to -60kyr; Figure 8.4a). In addition, there is a 
common discrepancy between the ages obtained 
from the 238U-230Th and 226Ra-230Th systems: the 
presence of 226Ra-230Th disequilibrium suggests 
crystallization ages <8,000 years (any 226Ra-230Th 
disequilibrium decays away after 8,000 years), 
whereas 238U-230Th yields ages of several tens of 
thousands of years. This observation, along with 
the study of crystal size distributions, suggests a 



Table 8.1 Compilation of timescales of differentiation from U-series isotope studies 

Tectonic Timescale of 
Volcanic centre environment Composition range differentiation (kyr) Material analysed Reference 

Cotopaxi (Ecuador) CAB andesite <8 whole rock (Garrison, et al, 2006) 
(Ecuador) CAB rhyolite 70-100 whole rock (Garrison, et al, 2006) 

Mt Shasta (USA) CAB andesite-dacite 8-20 minerals (Volpe, 1992) 
Mt St Helens (USA) CAB basalt-dacite 2·-4 minerals (plag) (Cooper and Reid, 
Mt St Helens (USA) CAB basalt-dacite 0.15-5.7 minerals (px) (Cooper and Reid, 2003) 
Neva do del Ruiz (Colombia) CAB andesite-dacite 6 minerals (Schaefer, et al., 1 
Vesuvius (Italy) CAB phonotephrite 12-39 minerals et al., 1998b) 
Akutan lAB ba sa I tic andesite <8 whole rock et al., 2004) 
Aniakchak (Alaska) lAB basaltic andesite-rhyodacite <8 whole rock (George, et al., 2004) 
Etna (Italy) lAB basalt-trachyte 200 minerals (Condomines, et al., 
Kos (Greece) lAB rhyolite 200 whole rock/minerals (Bachman, et al., 2007) 

(zircon) 
La Soufriere (Antilles) lAB andesite 30-70 whole rock (Touboul, et al., 2007) 
La Soufriere (Guadeloupe, Antilles) lAB andesite 34.9 minerals (px) (Touboul, et al., 2007) 
La Soufriere (Guadeloupe, Antilles) lAB andesite 30-70 whole rock (Touboul, et al., 

(Japan) lAB basalt 2 whole rock (Yokoyama, et al., 
Ruapehu (New Zealand) lAB andesite 5 whole rock (Price, eta 1., 
Sangeang Api (Indonesia) lAB trachybasa lt-trachyandesite 2 whole rock/minerals (Turner, eta!., 
Santorini lAB dacite <1 minerals et al., 2000) 
Seguam (Aleutians) lAB basalt-rhyolite <1 minerals (Jicha, et al., 2005) 
Seguam (Aleutians) lAB basalt-rhyolite 130 whole rock (Jicha, et al., 2005) 
Soufriere (St. Vincent, Antilles) lAB andesite 60 minerals (Heath, et al., 1998) 
Taupo Volcanic Zone (New Zealand) lAB rhyolite 50 minerals (zircon) (Charlier, et al., 
Taupo Volcanic Zone (New Zealand) lAB rhyolite 250 zircon (Brown and Fletcher, 1 
Taupo Volcanic Zone Zealand) lAB rhyolite 27 zircon (Charlier and Zellmer, 2000) 
Toba (Indonesia) lAB rhyolite 150 minerals (allanite) (Vazquez and Reid, 2004) 
Alid (Eritrea) intra-continenta I rhyolite 30-50 whole rock/minerals (Lowenstern, et al., 2006) 
Ardoukoba (Djibouti) intra-continental basalt 0.87-1.88 whole rock (Vigier, et al., 1999) 
Bishop Tuff (USA) intra-continental trachybasalt-rhyolite 100 minerals (zircon) (Reid and Coath, 
Emuruangogolak (Kenya) intra-continental basalt-trachyte 14-40 minerals (Black, et al., 1998a) 
Erebus (Antarctica) intra-continental basanite-phonolite 3 minerals (Reagan, et al, 
Laacher See (Germanvl intra-continental basanite-phonolite 10-20 minerals (Bourdon, et al., 1994) 

~-·-------------------- ----~-·---· 



Long Valley (USA) intra-continental trachybasa It-rhyolite 115-230 minerals (zircon) (Reid, et al., 1997) 

Longonot (Kenya) intra-continental trachyte 1-2.5 whole rock (Rogers, et al., 

Oldoinyo Lengai (Tanzania) intra-continental carbonatite 0.007-0.018 whole rock (Williams, et al., 1 

Olkaria /l(enva) intra-continental rhyolite 22 minerals (Heumann and Davies, 
2002) 

East Pacific Ridge MORB basalt 0.7-1.7 whole rock (Blake and Rogers, 2005, 
Sims, et al., 2002) 

Gorda Ridge MORB basalt 2-4 minerals (plag) (Cooper, et al., 

Fogo (Azores) OIB trachyte 0.05-4.7 glass (Snyder, et al., 

Kilauea (Hawaii) OIB andesite? (5% MgO) 055 minerals (Cooper, et al., 2001) 

Piton de Ia Fournaise (Reunion) OIB basalt·oceanite 0.025 whole rock (Sigmarsson, et al., 2005) 

Torfajokuii-Veidivotn (Iceland) OIB basalt-rhyolite <3.2 minerals etal.,2008) 

(Iceland) OIB basa It ·hawa i ite·mugearite 2-2.8 whole rock and Rogers. 2005, 
Sigmarsson, 1 

Puy de Dome (France) OIB? trachyte <1 minerals (Condomines, 
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Fig. 8.3 Evolution diagram for a Mt St Helens sample 
(Cooper&. Reid, 2003). Curves show the evolution of the 
(226Ra)/Ba (in desintegrations per year per J..Lg; dpy /J..Lg) back 
in time for the whole rock (WI) and as calculated for the 
melt in equilibrium with the plagioclase (meltv1) and the 
pyroxene (meltvJ analysed in this sample. The curve 
meltv1 represents the best estimate based on average of 
measured plagioclase compositions (An50) and estimated 
pre-eruptive temperature of 1,000°C. The gray field 
encloses compositions allowing variation in the plagi
oclase composition (AnSO ± 10) and pre-eruptive tem
perature (1,000-l,ll0°C). The crystallization age for the 
plagioclase is inferred from intersection between the 
curves WI and melti 3,000 years. The crystallization age 
for the pyroxene is inferred from intersection between 
the curves WI and meltpx· In this case, there are two pos
sible solutions: 1,400 or 5,800 years. Modified from 
(Cooper &. Reid, 2008). Reprinted from "Earth and 
Planetary Science Letters", 213, Kari M. Cooper and 
Mary R. Reid, Re-examination of crystal ages in recent 
Mount St. Helens lavas: Implications for magma reservoir 
processes, p. 19, 2003, with permission from Elsevier. 

complex crystal history with either the growth of 
young rims from the basaltic magma on old crys
tals, a mixture of ·old and young crystals, or a 
combination of the two (Charlier & Zellmer, 
2000; Cooper & Reid, 2003; Turner et al., 2003). 
• Mineral ages from intermediate magma compo
sitions are frequently within error of their erup
tion age. This suggests that the proportion of old 
crystals is less important in intermediate compo
sitions than for mafic magmas. Another implica
tion is that the complicated crystal morphologies 
(frequent zoning) observed in intermediate rock 
compositions is produced on a short timescale. 
These observations have been interpreted to reflect 

an open system differentiation where individual 
andesitic magma batches crystallize successively. 
• Mineral ages in felsic rock compositions range 
from within error of the eruption age up to several 
hundreds of thousands of years prior to eruption. 
Where short pre-eruption ages are observed, this 
has been interpreted as the remobilization of mag
mas and multi-stage ascent histories (Cottrell et al., 
1999). Large pre-eruption ages illustrate the time 
required for some large magmatic systems (e.g. 
Long Valley) to produce highly silicic magmas. This 
may reflect the time required to 'heat up' and par
tially melt the country rock, as crustal assimilation 
is likely to play a significant role in the production 
of silicic magmas (see next section). Before mineral 
ages could be inferred from U-series isotopes, 
Halliday et al. (1989) used the Rb-Sr system to infer 
that, at Long Valley, several magma bodies differen
tiated over timescales of > 100,000 years. Similarly, 
Reagan et al. (2003) have shown that the generation 
of rhyolites at North American continental arcs 
may require timescales of differentiation > 100,000 
years. The existence of such long-lived magma bod
ies has been actively debated (Halliday, 1990; 
Mahood, 1990; Sparks et al. 1990). Sparks et al. 
(1990) suggested that instead rhyolites at Long 
Valley would be produced by rapid differentiation 
following re-melting of granitic plutons by mafic 
melts. Halliday (1990) and Mahood (1990) opposed 
this model, pointing out for instance that low stron
tium (Sr) concentrations in rhyolites preclude sig
nificant assimilation of granitic melts. Instead, 
Mahood ( 1990) proposed a model where the magma 
body is isolated from the country rock by a partially 
to completely crystallized rind that can potentially 
supply minerals to the magma body, in response to 
changes in thermal and/or physical conditions (e.g. 
magma recharge). In both models (Sparks et al. or 
Mahood), magma differentiation occurs as an open
system process, where take place: 

assimilation of granitic melts in Sparks et al. 
(1990)'s models, of previously crystallized 
magma in Mahood ( 1990)'s model); and 

ii magma recharge. 
Using the compilation in Figure 8.4 and Table 8.1, 
it is possible to investigate the differences in 
timescales of differentiation in various tectonic 
environments: 
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Fig. 8.4 U-series mineral ages re-calculated by Zellmer et al. (2005) from published data (see references in Zellmer 
et al. (2005) ). (a) Pre-eruptive mineral ages from measured 238U-230Th disequilibrium vs Si02 content. In primitive 
lavas, 238U-230Th ages are significantly larger than eruption ages, suggesting that volcanic centers erupting primitive 
lavas may not differentiate in a closed system. Intennediate rocks display 238U-230Th ages within error of the erup
tion ages. Felsic rocks display 238U--230Th ages that range from values within error of the eruption age to several 
100,000 years. (b) Comparison between mineral ages derived from 238U-230Th and 226Ra-230Th disequilibrium 
Significant discrepancies can be observed, such as at Mt St Helens and Metis Shoal, illustrating the complex history 
of minerals in a magma body, where young rims can crystallize over old mineral cores. Reprinted from "Journal of 
Volcanology and Geothermal Research", 140, G.F. Zellmer, C. Annen, B.L.A. Charlier, R.M.M. George et al. Magma 
evolution and ascent at volcanic arcs: Constraining petrogenetic processes through rates and chronologies, p. 21, 
2005, with permission from Elsevier. 
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Fig. 8.5 Eruption rates vs ages. Pre-eruption ages are constrained from estimates of magma output rate 
and magma chamber volume (open symbols; Pyle, (1992)) or derived from geochronological studies of minerals and 
whole rocks (black symbols; Zellmer et al. (2005) and references therein)). Note that volumes of magma erupted vary 
by more than three orders of magnitude between individual volcanic centres contours; in km3 ). from 
"Journal of Volcanology and Geothermal Research", 140, G.F. Zellmer, C. Armen, B.LA. Charlier, R.M.M. George 
et al. Magma evolution and ascent at volcanic arcs: Constraining petrogenetic processes through rates and chronolo
gies, p. 21, 2005, with permission from Elsevier. 

• Subduction zones. Timescales of differentia
tion are very variable: timescales as short as 150 
years have been inferred for pyroxenes from Mt St 
Helens (Cooper. & Reid, 2003) and as long as 
250,000 years for the Taupo Volcanic Zone (New 
Zealand; (Brown & Fletcher, 1999) ). Note that 
the volumes of these two systems are very differ
ent and that the latter timescale is inferred from 
zircons that could reflect re-mobilization of old 
zircons into a younger magma. There is no obvi
ous systematic difference between island and 
continental arcs, although rhyolitic compositions 
at continental arcs appear to require magma dif
ferentiation to occur over timescales 
(>100,000 yearsi Reagan et aL (2003) ). 
• Intra-continental magmatism. Timescales of 
differentiation are often relatively short: less than 

several 10,000 years, except for zircon studies 
from large volume silicic systems (e.g. Long 
Valley, USA; (Reid et al., 1997) ). 
• Mid-ocean ridges. Very few studies have been 
undertaken at mid-ocean ridges. Available results 
suggest short timescales, between 0.7 and 4kyr. 
• Hotspots. Timescales of differentiation appear 
relatively short: from as little as 25 years (Piton de la 
Foumaise, Reunion Islandi (Sigmarsson et al., 2005)) 
up to 4.7kyr (Fogo, Azoresi (Snyder et al., 2007)). 

At a global scale, there is a broad negative cor
relation between the rate of eruption at a given 
volcano and pre-eruption ages of crystals erupted 
(Figure 8.5). This shows that, on the one hand, 
where the eruption rate is high (e.g. Kilauea vol
cano in Hawaii), magmas produced in the mantle 
undergo little modification and crystals are pro-
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duced shortly before eruption. In contrast, crys
tals can reside for several 100,000 years where 
highly silicic magmas are produced and eruption 
rates are low (e.g. Long Valley, USA). 

TIMESCALES OF 
DIFFERENTIATION FROM 
WHOLE ROCK SAMPLES 

Mineral ages, as derived from U-series isotope dis
equilibrium, provide insights into the dynamics of 
magma bodies (open vs closed system; old crystal 
re-mobilization, etc.), but are very often difficult 
to interpret. An alternative approach is to use the 
U-series isotope composition of whole rock sam
ples, which span a range of compositions, in order 
to place time constraints on the rates of magma 
differentiation. Because uranium, thorium and 
radium are all very incompatible elements, their 
budget in a porphyritic volcanic rock is dominated 
by the groundmass, a proxy for the magma com
position, rather than the phenocrysts. 

Several observations can be made from U-series 
isotope data from whole rock samples: 
• 238U-23°Th and 226Ra-230Th radioactive disequi
libria are largest in the more mafic rocks (i.e. 
(238U/230Th) and (226Ra/230Th) activity ratios show
ing the greatest deviation from 1) (Fig. 8.6). Because 
mafic rocks reflect magma compositions that have 
undergone no' or little differentiation, this implies 
that radioactive disequilibrium in volcanic rocks 
is not acquired during magma differentiation in 
the crust, but during magma production in the 
mantle (see Bourdo:n's chapter). This also implies 
that magma transfer to the surface is rapid ( 1 O's to 
lOO's of m/yr) in order to preserve these disequi
libria (see Turner and Bourdon's chapter). 
• (238U/230Th) and (226Raf230Th) activity ratios in 
whole rocks are generally correlated with indexes 
of differentiation (Figure 8.6). Common indexes 
of differentiation are Si0

2 
and Th contents, which 

increase during differentiation, or MgO content 
and Mg#, which decrease during differentiation. 
During differentiation, activity ratios typically 
converge towards unity, i.e. radioactive disequi
libria decay away. 
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Fig. 8.6 Compilation of whole rock (226Ra/23"Th) activity 
ratio vs Si02 content in island and continental arc vol
canic rocks. The general decrease in (226Ra/23"Th) during 
differentiation (increasing Si0

2 
content; gray arrow) can 

be used to infer duration of differentiation and crystalli
zation rate, assuming closed system differentiation and 
little fractionation between Ra and Th during crystal 
fractionation. For instance, the thick curve shows the 
compositions during differentiation of a primary magma 
with (226Raj230Th) = 6 and Si02 =50 wt. %. The curve is 
labeled in years of differentiation. The crystallization 
rate is set at w-• g/g/yr and bulk solid/melt partition 
coefficients for Ra, Th and Si02 are taken to be respec
tively 0.001, 0.01 and 0.5. Fields show data from different 
arcs: 1: Tonga-Kermadec (Turner & Hawkesworth, 1997); 
2: Vanuatu (Turner et al., 1999); 3: Marianas (Elliott et al., 
1997); 4: Sunda (Turner & Faden, 2001); 5: Nicaragua 
(Reagan et al., 1994); 6: Lesser Antilles (Turner et al., 
1996; Chabaux et al., 1999); 7: New Britain/Bismarck 
(Gillet al., 1993); 8: Aleutians (George et al., 1999). See 
Plate 8.6 for a colour version of this image. 

Various mechanisms can explain the decrease 
in radioactive disequilibrium with increasing 
differentiation: 
• Time. Radioactive disequilibrium produced dur
ing magma genesis will decay during transfer 
towards the surface and differentiation prior to erup
tion. If no other process modifies the radioactive 
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disequilibrium, i.e. if the magma body behaves as 
a closed system and differentiation (crystal frac
tionation) does not significantly affect the distri
bution of each isotope in the magma, the decrease 
in radioactive disequilibrium can be used to calcu
late a duration of differentiation (how long it takes 
for the magma to evolve from the most mafic to 
the most felsic composition) and a rate of crystal
lization. For instance, the abundance of a radionu
clide, Nil will vary with time as follows: 

where Ni and Ni-l are the concentrations of the 
radionuclide Ni and its parent Ni_

1
, respectively, f 

the crystallization rate (in g/g/yrj, Di the bulk solid/ 
melt partition coefficient for Ni, and A,Ni and A,M-J 

the decay constants (in yr-1) for nuclides Ni and N,_
1

, 

respectively. In the case of 238U or 232Th, because 
these radionuclides have no parent, the last term of 
the right-hand side of the equation disappears. The 
equation can be written for any element, by simply 
removing the decay terms (i.e. the last two terms 
on the right-hand side of the equation). 
• As an example, if we write this equation for 
226Ra, 230Th and Si02, it is possible to solve this sys
tem of equations by setting initial abundances (the 
(226Ra/230Th) activity ratio and Si0

2 
concentration 

in the primary magma) and the crystallization rate 
to reproduce data for a given suite of rocks, such as 
those shown on Figure 8.6. In Figure 8.6, the model 
curve shows that it is possible to reproduce the 
compositions observed in the Tonga-Kermadec arc 
using a crystallization rate of 10-4 g/g/yr and a 
duration of differentiation up to 8,000 years. Note 
that this model requires knowledge of bulk solid/ 
melt partition coefficients for Ra, Th and Si0

2
• 

These can be calculated using experimental and 
theoretical mineral/melt partition coefficients 
(Blundy and Wood2003) and the crystallizing min
eral assemblage inferred from modeling of major 
element variations in the rocks. In the example in 
Figure 8.6, because Ra and Th are both very incom
patible (which is the case in most common min
eral assemblages), crystal fractionation has little 
effect on the (226Raj730Th) ratio. In fact, because Th 
is slightly more compatible than Ra in a gabbroic 

assemblage, the act1v1ty ratio should increase 
slightly during differentiation from 6 to 6.02. 
• Crystal fractionation. As seen in Section 2.1, 
(23BUf23DTh) and (226Ra/230Th) activity ratios in the 
magma can be modified during differentiation, if U, 
Th and Ra enter the structure of the minerals crys
tallizing. For instance, if we use the example shown 
on Figure 8.6, where a magma differentiates with a 
starting composition: (226Raf230Th) = 6 and SiO, = 

50wt. %, the curve in Fig. 8.6 is calculated assuin
ing little or no fractionation between Ra and Th, 
such that the decrease in (226Ra/230Th) with increas
ing Si0

2 
is solely accounted for by radioactive decay 

(i.e. time). The alternative scenario is where all of 
the variation in (226Raf230Th) is attributed to crystal 
fractionation. In this case, differentiation has to be 
very rapid relative to the 226Ra half-life (1,622 years), 
i.e. a crystallization rate >10-2 gjgjyr. In order to 
account for observed trends in Figure 8.6 by crystal
lization only, the bulk partition coefficient of Ra 
would need to be as high as 2, which is practically 
impossible (cf. Blundy & Wood, 2003). Considering 
a more likely value for the Ra bulk partition coef
ficient (e.g. 0.5), the predicted decrease in 
(226Raj230Th) with increasing Si02 is less than that 
observed in most volcanic arc volcanoes. To repro
duce the decrease that is observed, the model 
requires a crystallization rate of 2 x 10-4 g/g/yr and 
a duration of differentiation of -4,000 years. This 
highlights that crystal fractionation alone cannot 
account for all of the variation in (226Raf230Th), and 
even in the extreme scenario where Ra and Th frac
tionate during crystallization, a duration of differ
entiation of several1,000 years is required. 
• Magma mixing. The inverse trend between 
(726Raj230Th) and Si0

2 
content (Figure 8.6) suggests 

that differentiation occurs over a timescale of a 
few 1,000 years. On this timescale; (238Uf230Th) 
activity ratios should remain constant for a suite 
of co-genetic rocks because radioactive decay over 
timescales of a few 1,000 years will not affect sig
nificantly the (238U/230Th) ratio. However, data 
from single volcanoes often show significant vari
ations in (238U/230Th). In addition, at some volcanic 
arcs, a decrease in 238U-230Th disequilibrium with 
increasing indexes of differentiation is also 
observed, suggesting timescales for differentiation 
>10,000 years. Hence, it appears that 238U-230Th 
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data suggest timescales of differentiation >10,000 
years, whilst 226Ra-230Th data suggests timescales 
<10,000 years (Figure 8.4b; Zellmer et al. (2005)). 
One possible explanation for these apparently 
contradictory observations is that the range of 
composition observed in co-genetic volcanic rocks 
result from mixing between evolved melts that 
resided in the magma chambers for timescales 
>300,000 years (hence in secular equilibrium for 
238U-230Th-226Ra) and primary melts that carry the 
radioactive disequilibrium generated during 
magma genesis. This model is similar to the 'hot 
zone model' proposed by Annen & Sparks (2002): 
in their model, silica magmas are produced as a 
result of repetitive intrusion of basaltic magmas 
in the crust. During this process, silicic composi
tions result from (i) residual melt from crystal 
fractionation and (ii) crust melting. However, it 
takes several 100,000 years before significant 
amounts of silicic melts can be produced, during 
which time they would have returned to secular 
equilibrium for 238U-230Th-226Ra. Thus, mixing 
between old silica melts and primary basaltic 
magmas could be a viable process to account for 
the decrease in U-series disequilibria with increas
ing silica observed in volcanic rocks. Indeed, there 
has been a long-standing debate whether co-varia
tions of geochemical parameters (e.g. major 
element concentrations) with indexes of differen
tiation (e.g. Si0

2 
content) reflect fractional crys

tallization or magma mixing. This is because 
when these trends (termed liquid lines of descent) 
are linear, they can be potentially explained by 
either process. However, linear trends are not 
always observed and inflections in the liquid lines 
of descent are common. These inflections cannot 
be explained by two end-member mixing but 
more likely to result from a change in the mineral 
phases crystallized during differentiation. 

Although magma mixing is unlikely to explain 
the range in U-series isotope composition 
observed in whole rock samples, it is important 
to remember that magmas may not behave as 
closed systems fractionating crystals. In an open 
system magma body, the two main sources of 
'contamination' are: 
1 melts derived from partial melting of the coun

try rock (crustal assimilation); and 

2 primary, undifferentiated magma (magma 
recharge). 
In Figure 8.7, the effect of different models of 

differentiation on U-series isotope composition is 
explored. First, in the case of closed system dif
ferentiation, (226Raj230Th) reaches secular equilib
rium before (230Th/238U) becomes significantly 
modified. This is inconsistent with the combined 
226Ra-230Th and 238U-230Th observations in volcanic 
rocks. Next we consider different models of open 
system differentiation. When a fraction of the 
magma chamber volume is frequently replen
ished with primary magmas (i.e. 5% of the cham
ber's mass every 100 yearst the effect is to buffer 
the radioactive disequilibria such that even after 
several 1,000 years significant 226Ra-230Th can be 
maintained (Fig. 8.8; Hughes & Hawkesworth 
(1999) ). Thus, frequent magma recharge could 
explain how 226Ra-230Th disequilibria can be pre
served for timescales >8,000 years (the time after 
which any 226Ra-230Th disequilibrium has decayed 
away, assuming closed system behavior). 
However, because basaltic magma is continu
ously injected, it is difficult to produce silicic 
compositions (e.g. dacites, rhyolites). Forinstance, 
using the parameters from Figure 8.7, if the pri
marymagma has an Si0

2 
content of 50wt.% and 

assuming a bulk solid/melt partition coefficient 
of 0.5 for Si0

2
, after 8,000 years and crystalliza

tion of 80% of the initial magma body, Si0
2 

has 
only increased to 52.4 wt. %. Although residual 
magmas from crystallization represent as much 
as 90% of the mixture, during each recharge 
event, not enough time (100 years) has elapsed to 
produce silicic residual magmas. Alternatively, 
allowing longer periods of time between each 
recharge event can yield silicic magmas, but the 
consequence is that any 226Ra-230Th disequilib
rium will have returned to secular equilibrium. 

An alternative model is one in which there is 
no magma recharge, but assimilation of crust-de
rived melts occurs (i.e. partial melting of the 
country rock into the magma). Berlo et al. (2004) 
have shown that there is likely to be little or no 
radioactive disequilibrium produced during 
partial melting of the crust. In Figure 8.7, we can 
see that assimilation of such melts rapidly 
drives compositions towards secular equilibrium, 
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Fig. 8.7 Different models of magma differentiation are considered to explain the negative relationship commonly 
observed between (226Ra/23Cl'fh) and (230Th/238U) in volcanic rocks. Model (1): closed-system differentiation. 
Crystallization rate = w-• g/gfyr. Tick marks are every 1,000 years. Models (2)-(4): open-system differentiation. 
Model (2): discrete magma recharge. Every 100 years, 10% of the mass of the magma chamber is replenished with 
primary magma and an equivalent volume is erupted (in order to keep the size of the magma chamber constant). 
Crystallization rate 10·4 g/g/yr. Tick marks are every 100 years. Model (3): crustal assimilation. Crystallization 
rate= 10·• g/g/yr. The rate of crustal assimilation is set to be 30% of the crystallization rate (r = 0.3; DePaolo (1981)), 
i.e. 3 x w-s g/g/yr. Concentrations in the crustal melt are: [U]c = 2 ppm, [Th]c = 5 ppm. Tick marks are every 100 years. 
Curves (1)-(3) end at a duration of differentiation of 8,000 years~ Model (4): discrete magma recharge+ assimilation. 
This model is a combination of Models 2 and 3. Crystallization rate 10-3 gjgjyr. r 0.3, i.e. an assimilation rate of 
3 x IQ-• g/g/yr. Same concentrations in the crustal melt as in Model{3). Tick marks are every 100 years. The curve 
ends at a duration of differentiation of 800 years. Common parameters to all four models: total fraction crystallized 
80%. Du i;J.05, nrh = 0.01, DRa 0.25. Concentrations in the primary magma are: [U]m ""O.lppm, [Th]m"" 0.2ppm. 
Activity ratios in the primary magma are: (230Th/238U) = 0.8, (226Raj2:l"Th) = 6. 

without requmng extensive amounts of time. 
Dosse'to et al. \2008) found that, in a model 
involving assimilation, it only takes 1,500 years 
to produce dacitic compositions at Mt St Helens, 
compared with 2,000 to 2,500 years in a closed 
system model. This model explains simultane
ously the observed decreasing (226Ra/231Yfh) and 
(
231Yfhj238U) disequilibria during differentiation 
and also allows for the production of silicic com
positions. However, this model predicts that 
silicic magmas will be near or at secular equilib
rium, which contrasts with significant radioactive 

disequilibria observed in most andesitic and dac
itic volcanic rocks. 

A more complex model is one in which both 
crustal assimilation and discrete magma recharge 
occur together (Figure 8.7, curve (4); equations are 
given in Appendix B). In this case, it is possible 
not only to reproduce the simultaneous decrease 
in (226Raj230Th) and (231Yfhj238U) disequilibria dur
ing differentiation, the silicic compositions, but 
also to obtain silicic magmas with significant 
U-series disequilibrium. Note that this model 
requires fast crystallization rates (10-3 g/g/yr) and 
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Fig. 8.8 Combined U-Th-Ra systematics demonstrating the effects of different replenishment timescales. The dif
ference in half-life between 226Ra and 230Th is sufficiently large that if the timescale is short enough to produce sig
nificant effects on (226Ra/130Th), then (230Th/238U) reaches a steady-state close to that of the parental magma. The 
model conditions used were: (230Th/232Th)init = 0.75, (238U/232Th) = 0.9, [ThJ.nit = 2ppm, [226Ra]init = 300 fg g-1, [BaL,, = 
200ppm, D 0 = DTh = 0.05, DRa =Dna= 0.25, Chamber volume= 50km3

, Eruption volume= 5km3, Crystallization= 
10% per iteration. Reprinted from "Geochimica et Cosmochimica Acta", [63(23/24)], R. D. Hughes and C. J. 
Hawkesworth. The effects of magma replenishment processes on 238U-230Th disequilibrium, [4101-4110], 1999, 
with permission from Elsevier. 

dacitic compositiops are obtained after only 800 
years. This has important implications for the 
dynamics of magma differentiation and this is 
discussed below. 

To summarise, a number of mechanisms can 
affect the U-series isotope composition of mag
mas during differentiation: time, crystal fraction
ation, crustal assimilation and primary magma 
recharge. Thus, the ability of different models 
(closed-system crystallization, open-system 
magma recharge, crustal assimilation and crys
tallization) to explain whole rock U-series isotope 
data can be tested using the timescale constraints. 
These models need to be able to reproduce: 

• The common observation of a simultaneous 
decrease of (226Ra/230Th) and (230Thj238U) disequi
libria during differentiation; and 
• The occurrence of significant (226Ra/230Th) and 
(230Thj238U) disequilibria in silicic magmas (andes
itic or dacitic). 
Open system differentiation seems to be the most 
adequate model. It probably involves frequent 
recharge of a magma body undergoing both frac
tional crystallization and assimilation of the 
country rock. Inferred timescales of differentia
tion are very rapid and it takes less than a few 
tens of thousands years to produce dacitic com
positions from a basaltic magma. 
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PHYSICAL IMPLICATIONS FOR. 
MAGMA DIFFERENTIATION 

In the previous section, we have seen that in order 
to explain U-series isotope data in co-genetic 
suites of volcanic rocks: 
• Differentiation is often required to occur over very 
short timescales (less than a few 1,000 years); and 
• Crustal assimilation, probably combined with 
magma recharge, is likely to play a significant 
role during differentiation. 
Note that the role of crustal assimilation has not 
always been readily identified in the past, since 
common approaches (e.g. Sr isotopes} required 
the country rock to be isotopically distinct from 
the primary magmas (i.e. at least 100 million 
years old). This is not required when using 
U-series isotopes. Thus, on the basis of the whole 
rock U-series isotope data, we suggest that crus
tal assimilation may be more common than pre
viously believed {Handley et al., 2008). 

Annen & Sparks (2002) have shmvn that repeti
tive magmatic intrusions over sever all 00,000 years 
are required in order to 'heat up' the country rock to 
the point where it can produce significant amounts 
of crustal melts that can become assimilated into a 
differentiating magma. This suggests that below 
volcanic centers erupting silicic magmas, there has 
been repetitive magmatic intrusions for several 
100,000 years. Nevertheless, once this 'incubation 
time' is achieved, the differentiation from primary 
basaltic to silicic compositions only takes less than 
a few 1,000 years, as suggested by U-series data. 
This latter timescale can be used to infer the depth 
where differentia.tion occurs. The geometry of the 
magma body is a major control on the rate of magma 
cooling (hence, differentiation) and needs to be con
sidered in order to constrain the depth of magma 
differentiation. Spherical magma bodies (aspect 
ratio, AR = 1) are slower than sheet-like magma 
bodies (AR < l ). Thus, in the example of Mt 
St Helens, for a 10 km3 spherical magma body to 
produce dacitic compositions in -2,000 years {as 
inferred from whole rock U-series isotope data 
modeling), it should be located at a depth of -8 to 
lOkm, which is consistent with geophysical imag
ing (Dosseto et al., 2008). Sheet-like magma bodies 

{i.e. sills) can cool and differentiate much faster, 
hence could be located deeper in the crust. 
Nevertheless, timescales of differentiation as short 
as a few 100 years (see Figure 8. 7, curve (4)) may be 
incompatible with differentiation in the lower 
crl.:I.St, where hot country rock inhibits fast cooling. 

CONCLUDING REMARKS 

Studies of the U-series isotope composition of 
minerals suggest a wide range of ages: from a few 
tens of years to several hundred thousand years. In 
general, short timescales are inferred at mid-ocean 
ridges and hotspots, longer timescales at subduc
tion zones and for intra-continental volcanism. 
However, in many cases, long timescales inferred 
from minerals may reflect there-mobilization of 
old crystals, produced during previous cycles of 
crystallization, into a young magma. Nevertheless, 
old crystal ages suggest that some volcanic cent
ers have undergone magma replenishment and 
crystallization over several hundreds of thousands 
of years. These long timescales are generally asso
ciated with volume volcanoes erupting sil
icic compositions (dacites, rhyolites, etc.; see 
Bachmann, 2010, this volume). They may reflect 
the time required to produce such magma compo
sitions, because large periods of time are required 
to heat up the country rock and produce signifi
cant amounts of crustal melt. 

Studies of the U-series isotope composition of 
whole rocks can be used to constrain the dynam
ics of magma bodies. It is likely that magma dif
ferentiation is an open-system process in most 
cases, where of the magma body is com
bined with fractional crystallization and assimila
tion of crustal melts also plays a significant role. 
Modeling of existing data suggest that the range of 
magma compositions erupted require fast differ
entiation {a few hundred years to a few thousand 
years) with frequent magma recharge and. crustal 
assimilation. This generally favors a model where 
magmas differentiate in the upper crust {upper 
lOkm), in a cool country rock, unless it can be 
otherwise demonstrated that fast differentiation 
is possible in sills emplaced in the lower crust. 
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APPENDIX A- CALCULATION OF 
CRYSTALLIZATION AGES USING 

226RA-23oTH 

As explained in the text, using 226Ra-230Th in min
erals to calculate crystallization ages requires 
accounting for differences in chemical behavior of 
Ra and Ba. Cooper & Reid (2003) suggested a 
method where the evolution of the composition of 
the melts in equilibrium with the minerals ana
lysed is calculated and compared to the calculated 
evolution of the composition of the groundmass 
(see text for details). The crystallization age can be 
inferred graphically, as shown on Fig. 8.3b, or cal
culated analytically. Here, we give the equations to 
calculate the evolution of the composition in the 
minerals, the groundmass, and the melts in equi
librium with the minerals (Cooper & Reid, 2003). 

Note that the second equation can be used to 
calculate the evolution of the groundmass 
composition. 

The model crystallization age for phase A 
is the time at which the melt in equilibrium 
with phase A had the same Ra/Ba as the 
groundmass: 

( DBa) {1 (226 
Ra)""'"· A J(e'226') _I (230

Th)mens, A J(/226' -1)} 
DRa A l [Ba]meas,A l [Ba]meas,A 

=I (226 Ra)"'""· GM J(e'226') -[(23oTh)m""• GM J(/226' -I) 
l [Ba]meas,GM [Ba]meas,GM 

Solving fort yields the following equation to cal
culate model crystallization ages: 

I [(230
Th)meas,CM] (DBaJ [(

230

ThJmeas,A] 1 
t __ 1_ln [Ba]meas,GM DRa A [BaJmeas,A 

CM-A - A226 (DBa J {[(226 
Ra)meas,A] -[(

230
Th)meas,A ]} _ [(

226 
Ra)meas, GM] + [(

230
Th)meas,GM ]j 

DRa A [BaJmeas,A [Ba]meas.A [Ba]meas,GM [Ba]meas,CM 

The (226Ra)j[Ba] ratio of a melt in equilibrium 
with a mineral A at the time of crystallization (t) 
is given by: 

where (226Ra)/Ba in 'mineral A at time t (years 
from present; ybpL is calculated from the meas
ured ratio at present (subscript 'meas') by the 
standard decay equation: 

[
(
226 

Ra)J =[(226 
RaJmeos,A ](e'226t) 

[Ba] A, [Ba],nea~A -

- meas, A (e'zz6t -1) [(23oTh) ] 

[Ba]meas,A 

APPENDIX B- DISCRETE MAGMA 
RECHARGE, CONTINUOUS 
CRUSTAL ASSIMILATION 
AND CRYSTALLIZATION 

In this model, the evolution of a nuclide abun
dance in the differentiating magma body is sub
jected to the effect of crystallization and crustal 
assimilation, and is described by the following 
equations: 

For 238U and 232Th (which have no parent 
nuclide): 

where N is the abundance of the nuclide i in 
the mag;;a, r is the ratio assimilation rate over 
crystallization rate, f is the crystallization rate 
(in gfg/yr), D; the bulk solid/melt partition 
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coefficient and A.;, the decay constant (in yr1
) 

for the nuclide i. 
For 230Th and 226Ra: 

where ?c;.
1 

is the decay constant (in yr1
) and Ni-l.m 

the abundance of the parent nuclide, i-1. 
During the first increment of differentiation, a 

nuclide i has an initial abundance in the magma 
N;.prim and its abundance evolves following the 
equations given above. At a given time, Trecharge' 

which is the period of recharge, the magma that 
has undergone differentiation (crystallization + 
crustal assimilation) is mixed with a primitive 
magma. The abundance of a nuclide i in the mix
ture is given by the following equation: 

where Xp,;m is the ratio of the mass of primitive 
magma to the mass of the system 'residual 
magma+ primitive magma'. N is the abundance 
of nuclide i in the residual m~;ma after differen
tiation for a duration T,echarge· 

The composition of the mixture, N . . , then 
evolves for a duration T h followin~-~he first rec arge 
two equations above, until a new batch of primi-
tive magma is added and the composition of the 
new mixture is calculated using the equation 
above. The number of recharge events is calcu
lated as follows: 

F n -----
recharge - f T 

• recharge 

where F is the total fraction of magma that has 
crystallized. 
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SUMMARY 

Both the mechanism of melt segregation and the 
nature of the short-range transport paths devel
oped during partial melting can exert significant 
control over melt geochemistry because these 
variables influence the degree of equilibrium 
achieved between the melt and the solid restite. 
We suggest that the physical process of melt seg
regation will therefore leave a chemical signature 
that may be detected in the anatectic melts and 
the rocks which melted to form them. The exper
imental studies described below suggest that 
there are distinct differences in composition 
between melts derived statically and distributed 
in crack networks from those formed in permea
ble shear zones. These differences in composition 
can be exploited by studies of natural anatectic 
granites to estimate rates of melting, extraction 
and crystallization. As these melts rise into the 
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upper crust, assimilation can also become an 
important contributor to final magma composi
tion. We describe the use of radiogenic isotopes 
because they are a powerful means of assessing 
crustal melting and contamination models. 
However, the evidence presented here for disequi
librium suggests that the isotopic composition of 
crustal melts may not necessarily be the same as 
their source. We have seen that the use of trace 
elements may be problematic as well (e.g. REE in 
our pelite melting experiments) in that melt com
positions may deviate from those predicted using 
established phase equilibrium and mineral-melt 
partitioning data. If melting in the crust really is 
a disequilibrium process, would it not make con
straining source and contaminant signatures a 
less tractable problem? We propose that in accept
ing that this can happen, we are now in a position 
to make real progress. We propose that the iso
topic and trace element composition of crustal 
melt is a function not only of the composition of 
its precursor, but also of the processes by which 
and rates at which it is formed and extracted. 
Therefore, if we can establish a general frame
work for modelling the compositions of crustal 
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melts, we then have a powerful tool to constrain 
the mechanisms and timescales over which melts 
are extracted or assimilated. The results are con
sistent with a growing body of theoretical and 
field evidence indicating that processes, ranging 
from melting in the lower crust to assimilation in 
the upper crust, are rapid, efficient and can occur 
over timescales of decades or less. 

INTRODUCTION 

A key to understanding the chemical differentia
tion of continental landmasses, as well as the 
great diversity of chemical compositions of mag
matic rocks, concerns the rates and mechanisms 
for the formation of melt and its transport and 
emplacement on or near Earth's surface. Our 
knowledge of the physical processes controlling 
melt generation, extraction and accumulation 
has evolved rapidly over the past decade (Brown, 
2004; Brown, 2007; Brown & Solar, 1999; Clemens 
& Mawer, 1992; Jackson et al., 2003; Vigneresse 
et al., 2008 ). Progress has come from collective 
consideration of insights gained through: 
• Studies of structures, textures and composi
tions of melt source regions (e.g. migmatite ter
rains), complimented by parallel investigations 
focusing on zones of magma accumulation (e.g. 
plutons and volcanoes), each underpinned by con
tinuing advances in analytical geochemistry, geo
chronology and magnetic fabric measurements; 
• Laboratory experimentation of melting behavior 
and the rheology of partially molten rocks; and 
" New approaches to mathematical formulation 
and numerical simulation of melt generation, 
extraction and transport processes (Annen et al., 
2006, Beaumont et al., 2006; Jackson et al., 2003; 
Petford et al., 2000; Petford & Koenders, 1998). The 
emerging picture is one in which accumulation of 
bodies of magma at shallow crustal levels takes 
place by a stepwise process governed by rapid and 
discontinuous extraction and ascent of melt gener
ated at deeper crustal levels. The rate-limiting step 
in the growth and evolution of shallow magma 
bodies, which feed volcanic eruptions or solidify to 
form plutons and batholiths, thus appears to 
reside at deep structural levels in the crust. This 

realization leads us to examine the dynamic nature 
of the mid- to deep-crustal melting environment, 
where the generation of intermediate to silicic 
magma is principally driven by of influx hot man
tle-derived magma (Bergantz & Barboza, 2006). 

Given that melting is generally thermally driven 
(although fluid influx can also be important), it is 
tempting to attribute the apparent pulsed nature 
of melt extraction to periodic basalt invasion in 
the lower crust. Although numerical simulations 
provide insight into the degree and timescales of 
melting associated with repeated influx of basalt 
into the mid- to lower crust (Petford & Gallagher, 
2001; Annen & Sparks, 2002; Dufek & Bergantz, 
2005), poor constraints on emplacement periodic
ity in nature prevent a direct assessment at 
present. Nevertheless, an important finding of 
recent numerical modeling is that, in many cases, 
residual melt from the incomplete crystallization 
of the mafic magma may dominate over that pro
duced by partial melting of the crust. One excep
tion is for basalt emplaced into fertile pelitic crust. 
Annen et al. (2006) have shown, through thermal 
models combined with experimental data, that 
injected sills of basaltic composition can produce 
substantial crustal melt from pelitic sources; such 
assemblages are also a major control in orogenic 
settings with no recognized mantle input. 

Melting may alternatively be viewed as a more 
or less continuous and pervasive process, such 
that piecemeal accumulation of magma reflects 
discontinuous extraction from the source. This 
model finds support in the observation that the 
thermal anomalies associated with repeated 
basalt influx in the crust take several millions of 
years to decay through diffusion. It is also con
sistent with the piecemeal nature of magmatism 
in orogenic settings lacking direct input from the 
mantle (e.g. Himalayan leucogranites). Therefore, 
the timing and tempo of melt segregation and 
ascent may be ultimately governed by the epi
sodic nature of hydrous phase reactions and the 
non-linear rheology of partially molten rocks. 

We address this problem through laboratory 
experimentation. Our goal is to examine the 
complex links between melting environment 
(e.g. depth, mineralogy, reaction-controlled 
permeability, presence or absence of deformation) 
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and melt chemistry, and the constraints these 
place on the rates and timescales of melt 
extraction. However, in keeping with the multi
faceted approach that has led us to our current 
understanding of melt generation and migration 
in the crust, we strive to evaluate these experi
mental constraints in light of insight gained 
from multiple means of investigation and by 
considering the crustal magmatic column from 
the bottom up. 

MELT GENERATION AND 
MOBILITY IN THE MID- TO DEEP 

CRUST: INSIGHT THROUGH 
EXPERIMENTATION 

Experimental constraints on the 
importance of reaction mechanisms 

and deformation 

Partial melting experiments on crustal rocks have 
helped to advance our understanding of melt seg
regation rates and melting processes active in the 
crust. Experiments on natural rocks have clearly 
provided an important approach determining the 
variables that control melting, melt segregation 
and the rates at which these processes can occur. 
Through experiments we can establish the start
ing conditions and record through analyses of run 
products the crucial melting reactions and the 
melt compositions. The availability of new tech
nology, such as in-situ analytical techniques, has 
greatly enhanced our ability to measure impor
tant trace-element signatures that can then be 
used to interpret rocks that represent continental 
crustal magmas. 

This section reviews experimental results per
formed on crustal rock cores under hydrostatic 
conditions, where there is no applied stress to the 
sample, and under applied stress (deformation),
where samples are deformed during partial melt
ing. We also present new work on muscovite and 
biotite-bearing crustal assemblages. The early 
experiments have shown that the dihedral angle 
model, which uses equilibrium partial melt distri
bution in a solid-melt system to assess melt segre
gation potential, cannot be directly applied to 

· crustal rocks (Laporte & Watson, 1995). Results 
show that the interfacial energy controlling melt 
distribution is anisotropic and, therefore, the tex
tures deviate significantly from that predicted for 
ideal systems. As a result, this approach has not 
been widely applied to the crust, and cannot pre
dict melt fractions at which melt segregation 
should occur (Laporte, 1994; Rushmer, 1996). In 
addition, the 'critical melt fraction' (CMF) model, 
which requires granitic melt to remain in the 
source until melt fractions reach > 25 vol.%, has 
also been shown to be an unreliable model for seg-

. regation of granitic melts (Rutter & Newmann, 
1995; Rosenberg & Handy, 2005). The results of 
deformation experiments suggest that melt con
nectivity and segregation is possible at very low 
melt fractions, much lower than considered possi
ble by the CMF model, and is controlled by a vari
ety of factors. Through textural and rheological 
observations, experimental studies in the past dec
ade have shown that melt segregation is controlled 
by several variables, including depth of melting, 
permeability development, type of reaction and 
volume change associated with reactions (some 
that can greatly enhance permeability) and the 
importance of deformation. Therefore, in addition 
to the pressure and temperature of the potential 
melting reactions, melt migration can occur at a 
variety of different melt fractions, depending on 
the tectonic environment (e.g. whether or not 
deformation is present). These variables need to be 
considered to assess the development of permeable 
pathways for melt segregation at different levels in 
the crust. Once the nature of melt segregation is 
known we can then investigate its implications for 
the geochemistry of the magmas themselves. 
Ultimately, the compositions of the magmas might 
in turn be used to establish conditions under which 
melt migrated from its source. 

Figure 9.1 shows a framework in which we can 
consider melt segregation processes at different 
permeabilities (Oliver, 1996). Under conditions 
where deformation is at a minimum, with very lit
tle strain and homogeneous distribution of perme
ability, reaction-controlled permeability can 
dominate. In the mid-crust, the common partial 
melting reactions involve the mineral muscovite 
and these reactions, in themselves, can produce 
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Fig. 9.1 Rock permeability vs strain, heterogeneity in rheology and permeability. In a review of fluid flow in the 
crust, Oliver (1996) suggests that these important physical parameters that control whether or not fluid flow is per
vasive or channelized depends on grain-scale mechanisms. Shown here includes melt migration processes. Reaction
controlled permeability will likely be more pervasive and dominant in rocks with low-strain. In high-strain 
environments, deformation-produced permeability will cause melt flow to be more focused, such as along shear 
zones (after Oliver, 1996). 

permeable networks that allow for rapid segrega
tion of melt (Connolly, 1997; Connolly et al., 
1997; Rushmer, 2001 ). Regional metamorphism, 
where dehydration- reactions dominate, has also 
been shown to generate permeability (Connolly, 
1997). In the lower crust, permeable networks can 
be set up by focused deformation (shear zones) 
producing pathways for melt extraction (Brown & 
Rushmer, 1997). With increasing strain and strain 
rates, rheological heterogeneity and permeability 
heterogeneity, the development of melt pathways 
in the lower crust becomes more mechanically con
trolled (Oliver, 1996; Manning & Ingbretson, 1999; 
Dipple & Ferry, 1992; Brown & Solar, 1999). This 

framework provides a solid base from which we 
can understand melt segregation and transport 
mechanisms. For example, the geochemistry and 
emplacement of low-melt-fraction granites (i.e. 
Himalaya leucogranitesL originally considered too 
viscous to segregate efficiently, are now much bet
ter understood (Ayers & Harris, 1997; Harris et al., 
1995, 2000). 

Review of static experimental results 

Hydrostatic experiments on rock cores of various 
crustal rocks are specifically designed to allow us 
to characterize the distribution of granitoid melt 
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at different levels of the crust (e.g. along grain 
boundaries or in cracks). The key to trigger melt 
segregation at the partial melting sites is inter
connectivity between pockets of melt. The melt 
distribution data provide information on the frac
tion of melt that is necessary before interconnec
tivity can be achieved. Dihedral angle studies on 
crustal assemblages have shown moderate to low 
dihedral angles, which should allow melt to eas
ily interconnect. However, the studies also found 
anisotropy in melt distribution, so that planar 
solid-melt interfaces are developed in addition to 
the triple-junction melt pockets (Laporte et al., 
1997). In general, the presence of anisotropy in 
crustal mineral assemblages in the lower crust 
appears to enhance melt interconnect1v1ty 
(Brown, 2004), at least for silicic melt systems, 
but we cannot use the textures to determine a 
definitive melt fraction under which silicic melt 
will segregate. In addition, these studies do not 
consider the generation of melt and how the melt
ing reaction itself may modify textures or, more 
importantly, produce microcracks that can allow 
melt to migrate at the grain scale - i.e. become 
interconnected simply through reaction. Textures 
from static experiments on natural rock cores of 
crustal composition have been used to assess 
whether microcracking by reaction is a common 
process in the mid- to lower crust (Rushmer, 
2001). Results show that muscovite fluid-absent 
melting (melting without free H

2
0 fluid) is the 

most common reaction that produces microc
racks, although textures produced in experiments 
on mafic lowermost crustal rocks suggest that 
hornblende + clinozoisite breakdown will also 
produce cracking (Klepeis et al., 2003 ). Otherwise, 
most common lower crustal melting reactions do 
not induce microcracking. These observations 
imply that melt that escapes at low melt volumes 
from the mid-crust is likely to have segregated 
rapidly and bear a muscovite-melting geochemi
cal signature, resulting in leucogranitic bodies 
such as the High Himalayan examples (Viskupic 
et al., 2005 ). Melting in the lower portions of the 
crust, where biotite fluid-absent reactions or 
hornblende reactions, without the presence of 
clinozoisite, may result with melt being retained 

along grain boundaries and remaining distributed 
at the grain scale until higher volumes of melt are 
generated. Numerical modeling of orogenic belts 
has suggested that their rheology is controlled by 
the prolonged presence of a weak crustal layer 
(Hodges, 2006). Lower crustal melt retained along 
grain boundaries may establish weakened zones 
and keep melt in the system. However, deforma
tion plays an important role in melt segregation. 
The interplay between deformation and melting 
reactions therefore needs to be addressed. 

Review of dynamic experimental results 

Deformation associated with external tectonic 
processes can induce melt segregation in par
tially molten source rocks in which melt, under 
static conditions, would not be able to become 
interconnected unless high melt fractions are 
reached (Petford et al., 2000). Deformation exper
iments, in which samples are placed under 
applied stress while undergoing partial melting, 
therefore better simulate active tectonic envi
ronments and the generation of mechanically 
produced permeability. High melt pore pressures 
produced by the applied stress develop in the par
tially molten rocks in the laboratory, under both 
middle and lower crustal conditions (Rutter & 
Newmann, 1995; Dell'Angelo & Tullis, 1988). 
High internal melt pressure produces an exten
sive fracture network (cataclasis), even at pres
sure and temperature conditions under which 
rocks should deform by ductile flow. Figure 9.2a 
shows melt fraction against rock strength in log 
viscosity (Pa s). The melt fraction at the transi
tion from grain-supported rheology to suspension 
is the theoretical CMF (and used in early studies 
to suggest the point where crustal melt segre
gates). This transition is shown with two 
experimental studies, one on amphibolite at 
1.8 CPa and one on granite at 0.25 CPa. These 
data show that weakening occurs in the natural 
rocks at different points, and at melt fractions at 
or below 25 vol.% melt. The figure also shows a 
cataclastic texture, formed by high internal pore 
pressure in the amphibolite sample. This texture 
is associated with weakening of the sample. In an 
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extensive review by Rosenberg & Handy (2005),
crustal rock types that have been used in defor
mation studies were compiled and plotted on a 
sample strength (MPa) vs melt fraction diagram. 
As shown in 9.2a, the usual approach was 
to plot in logarithmic strength vs melt-fraction. 
diagrams, but they found this blurred the large 
strength drops found at low melt fractions. From 
this Rosenberg & Handy (2005 J suggested 
that crustal-scale localization of deformation 
(and therefore possible melt segregation) occurs 
at the onset of melting, and that melt escapes 
before ever reaching the high melt fractions that 
would coincide with theCMF. 

This graph is shown in 9.2b, modified 
from Rosenberg & Handy (2005). We also include 
new data for a 2-mica schist and a meta
diorite. Crustal rock deformation data are plotted 
LU.")"'L'·'"'' and show that weakening occurs below 
10 vol% melt. The graph also shows that differ
ent crustal rock types have different strength 
responses to deformation. The weak nature of the 
2-mica schist is noteworthy, and will be discussed 
in detail below. This schist is dominated by mus
covite melting, and the high volm:ne change asso
ciated with melting reaction may attribute to its 
rapid weakening. We continue to review the role 
of deformation and melt segregation in the sec
tion below, but focus on pelitic compositions. 

Muscovite and biotite-bearing 
crustal rocks 

Muscovite and biottte-bearing assemblages com~ 
prise a significant portion of the continental crust 
and play an important role in the geochemical 
and rheological evolution of many orogenic 
belts. Pelitic mineral assemblages are responsible 
for increasing the radiogenic heat budget, and 
creating thermal anomalies, and their relatively 
low solidus temperatures (due to quartz and high 
abundance of feldspar) allow for extensive partial 
melting. Orogenic belts containing significant 
amounts of mica-rich metapelite are, as a result, 
more susceptible to widespread, melt~induced 
weakening (Teyssier & Vanderhaege, 2001). Fluid
absent melting reactions of muscovite and biotite 

consume mainly mica, quartz and feldspar and 
therefore partial melt compositions will be gra
nitic in composition. 

In view of their significant role in generating 
partial melts in the crust, we focus now on an 
experimental study of a 2-mica schist and the 
chemistry of the experimentally derived melts. We 
consider geochemical and textural data from a 
series of experiments performed under both hydro
static and dynamic conditions that represent dif
ferent physical environments in which melt 
segregation is possible. We have performed hydro
static partial melting experiments on solid cores of 
a muscovite +biotite-bearing pelite (2M pelite), in 
which reaction-induced microcracking, produced 
by muscovite-dehydration melting, forms a per
meable, interconnected crack network (Rushmer, 
2001 ). Complimentary dynamic experiments 
(partial melting under applied stress) were per
formed on the same starting material to simulate 
deformation-assisted melt segregation (Holyoke & 
Rushmer, 2002). The contrasts in textural develop
ment between the different experimental designs 
provide insights into the roles of melting and 
extraction processes in different tectonic environ
ments. Therefore, in-situ analyses of the glass 
(melt) were carried out for both the static and 
deformation experiments. Data from the starting 
micas were also collected, to establish whether 
there are distinct geochemical signatures associ
ated with the different experimental conditions. 
Early geochemical data from mineral separates are 
a combination of mica plus accessory phases, 
which occur as common inclusions in the grains, 
and cannot be used for our purposes (Yang & Rivers, 
2000). We find that in-situ LA-ICPMS (laser 
ablation- inductively coupled mass spectrometry) 
and SIMS (secondary ion mass spectrometry) tech
niques alleviate this problem. 

Constraints on melting o£ pelitic 
crust from the laboratory: A tale 

of two experiments 

For the partial melting experiments, we used a 
high-pressure gas vessel to perform the static 
experiments and a solid-media deformation 
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Table 9.1 Summary of the static and deformation experimental results 

Experiment Pressure Melt volume 
Name (GPa) Temperature (C) Volume% 

Static Exps. 
2MS32 0.7 740 <5% 

2M5 0.7 850 15-20% 

2M2 0.7 900 15-20% 

Def.Exps. 
2M·D19 0.7 760 5% 

2M-Dl6 0.7 800 40% 

2M-D3 0.7 900 50% 

apparatus ('Griggs Rig') to perform dynamic exper
iments. All experiments were performed at pres
sures of 0.7 to l.OGPa, and between 740 and 
95ooc. The details of the experimental approaches 
are described in Rush mer (200 1) and Holyoke & 
Rushmer (2002). The pelitic starting material is a 
greenschist- to amphibolite-grade muscovite-bi
otite metapelite, composed of 21% muscovite, 
7% biotite, 34% quartz, 25% plagioclase, 13% 
alkali-feldspar and accessory zircon, apatite and 
monazite. The pelite represents a common crus
tal rock and exhibits the typical melting reactions 
that occur in the mid- and lower crust. The fluid
absent reaction begins at approximately 740°C 
under lower crustal conditions (-21-30km depth). 
Fluid-absent melting reactions observed in the 
pelite ex-periments, close to the first point of melt-

{solidus) are best described by balanced reac
tion (based on oxygen): LO Muse + 0.32 Plag + 

Duration 
Strain(%) (Hours) Comments 

Static-0% 12 Muscovite reaction; melt cracks in 
quartz grains observed. 

Static- 0% 504 Extensive melting of muscovite; melt 
cracks/biotite reaction to melt, 
spinel, opx, and oxides. 

Static 0% 16 Same observations as above; melt 
cracks reach 25-50 microns in 
width. 

20% 12 Two zones of cataclasis, one of -50% 
grain-size reduction; and one zone 
of -90% grain size reduction. 

25% 12 High melt fraction, relic grains of 
quartz and feldspar; strain 
partitioned completely into melt. 
Areas of muscovite-derived melt 
(clear glass) and areas of 
biotite-derived melt (dark glass). 

20% 12 Same features as above. 8oth 
muscovite-derived melt (clear 
glass) and biotite-derived melt 
(dark glass) observed. 

0.36Qt.z 1.14 Melt+ 0.22Kfs + 0.22 Sil+0.009 Bt 
{Patina-Douce & Harris, 1998) and, at higher tem
peratures, by: 1.0 Bt + 0.54Qtz + 0.053 Plag = 0.73 
Opx + 0.002 Spl + 0.59 Kfs + 0.28 Melt (Rushmer, 
2001). Table 9.1 shows a summary of the experi
mental study. 

In these solid-core experiments, textures asso
ciated with the development of permeability are 
apparent, either though cracking, resulting from 
the volume change associated with the melting 
reaction, or in melt-enhanced deformation, 
which produces zones composed of melt (glass) 
and fractured grains that have undergone grain
size reduction (cataclasis). These textures were 
used to establish melt segregation mechanisms. 
Figures 9.3a, band c show examples of the run 
results and textures associated with static 
conditions (Figure 9.3a) and under deformation 
(Figures 9.3b and c). 
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Fig. 9.4 Rare Earth Element {REE) concentrations in the micas present in the starting material, 2-mica schist. The 
REE data for the muscovite and biotite in 2M were collected by LA-ICPMS with the glasses). BIR is the standard 
and Zr, La, Ce and Y abundances above the detection limit were attributed to the presence of micro-inclusions 
(micron to <micron in size) of accessory phases in the grains. These data are not shown. This method has also been 
used as criteria by Yang&. Rivers (2000). Data reduction was processed Lasyboy (J. Sparks, Boston University). 
with Ti values from external microprobe analysis of as the internal standard. Time slice intervals ranging from 
3.15 to 8+ seconds were selected based on the Zr, Ce, La andY peaks. This procedure allows for minimum 
zircon, xenotime and monazite micro-inclusion contamination. The resulting abundances are first compared to 
other 2M mica analyses for consistency and reproducibility. 

Textural observations of the static and dynamic 
experim.ents also indicate that the melting reac
tions were dominated by muscovite fluid-absent 
melting at lower temperatures followed by biotite 
fluid-absent melting at higher temperatures as 
expected. 

Analyses have been obtained .for the glass 
(quenched melt) in the cracks and in highly perme
able glass-bearing cataclastic zones in the products 
of the deformation experiments. In addition to 
major-element data, trace-element analyses of the 
glasses and starting micas were collected. For trace 
elements, in-situ SIMS and LA-ICP-MS techniques 
were used. Laser-ablation data for the products of 
static experiments were collected in the large melt 
cracks that usually connect two reacted muscovite 
grains (Figure 9.3a). In biotite is not exten
sively melted in the static core experiments. 

Figures 9.3b and c shows the melting textures 
associated with the dynamic experiments. Melt 

is distributed in highly permeable cataclastic 
zones (area bin 9.3c) or along the edges o.f 
the capsule (areas a and c in Figure 9.3c), rather 
than in melt-filled cracks. Biotite fluid-absent 
melting is more extensive in the dynamic experi
ments and we observe higher volumes of melt 
under similar P-T conditions (Table 9.1). We 
observe both clear (colorless) glass, derived by 
muscovite fluid-absent melting and darker 
colored glass, derived through biotite fluid-absent 
melting (Figure 9.3c, areas b, c). In the cataclastic 
zones, melt derived from both biotite and musco
vite reactions are observed (Figure 9.3c, area b). 
Laser-ablation sites are also shown in the area 
boxes in Figures 9.3 band c. 

To interpret the geochemical data from the 
experiments, the starting mica compositions had 
to be determined. Figure 9.4 shows the rare earth 
element abundances (REE) of the micas normal
ized to CI chondrite. Both muscovite and biotite 



Geochemical Signatures and Melting Processes 191 

50 

Pi 

(Fe*+ Mg + Ti) mol% 

D 

• • • 

Bt 

50 

Ms 

(Na + Ca) mol% 50 

2M Starting Material 
2M-2 
2M-5 
2M-5 Mixed melt 
2M-S32 
2M-D3 
2M-D16 
2M-D19 
Patino Douce & Harris MBS Starting Material 
Patino Douce & Harris MS Melt 
Patino Douce & Harris MBS Melt 

are low in overalL However, there is a dis
tinct positive Eu anomaly in the muscovites 
(2M-MusBl-4), which is not present in the biotites 
(2M-BioB6,7). Thi~ signature is inherited by the 
melt formed by muscovite breakdown. 

Rb, Sr and Ba are the most abundant trace ele
ments in the micas, with Sc, V, Cr and Co also 
present in variable but appreciable quantities. 
The 2-mica biotite Rb, Sr and Ba values range 
from 509 to 573ppm, 1 to 2ppm and 647 to 
83 7 ppm, respectively. Li, Sc and Co values range 
from 70 to 80ppm, 7 to lOppm and 43 to 4Sppm. 
Two-mica muscovite trace element concentra
tions show that Rb (250-268 ppm) is lower in 
muscovite than biotite, higher in Sr (24-27ppm), 
and higher in Ba (1032-1422 ppm). 

~ 
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ill • • [gJ 
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Fig. 9.5 Major element glass data plotted 
in (Na + Ca)- K {Fe+ Mg + Ti) composi
tional space. Data are shown for static 
2M experiments {2MS32, 5 and 2. 2M-5 
mixed melt includes a biotite compo
nent) and dynamic 2M experiments 
(2M-19, 16 and Initial partial melts 
from the muscovite-bearing schist exper
iments {MS = muscovite schist partial 
melts, MBS = muscovite-biotite partial 
melts) from Patino-Douce &. Harris ( 1998) 
are shown for reference as are starting 
material bulk compositions for Patina
Douce&. Harris {1998) and the 2M pelite. 
Mineral are also plotted for refer
ence; Bt biotite, Kfs = K-feldspar, Ms 
muscovite, Pl plagioclase, Crt= garnet. 

Static experiments: glass compositions 

Figure 9.5 shows the major-element composi
tions of glasses and starting compositions plotted 
in a (N a+ Ca)- K (Fe+ Mg + Ti) ternary diagram. 
Glass data from the static experiments are simi
lar to the experimental melt compositions derived 
from piston-cylinder experiments. performed by 
Patina-Douce & Harris ( 1998) on a similar pelitic 
assemblage. 

Rare Earth Element (REE) glass data for the 
hydrostatic experiments are presented in Figure 
9.6. Muscovite-derived melts produced at the 
lowest temperatures (2M-5 and S32) have consist
ently low REE abundances, ranging between 0.01 
and LOxCI (chondrite normalized), and are 
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Fig. 9.6 REE data for glass measured in melt 
cracks produced in static experiments. 
Results are shown for 740, 850 and 900°C. 
(2MS32, 5 and 2, respectively! and show sev
eral features that reflect the static melting 
environment. At low temperatures, data 
from the melt cracks show varible, but low 
concentrations of the REE. As temperature 
increases, REE abundances increase as do 
pattern variations. Eu anomalies change 
from negative to positive, suggesting either 
the signature of muscovite plus potentially 
the increasing importance of the role of 
plagioclase. 

characterized by gently sloping REE patterns with 
LREE-enrichments relative to HREE and with a 
positive Eu-anomaly {although not in all cases). 
At higher temperature, (900°C; 2M-2), the glasses 
show increases in REE concentrations and become 
distinctly heterogeneous in their REE abundances, 
which range between 1.0 and 100.0 x CI. However, 
the patterns are similar to those obtained in the 

lower temperature experiments and we see the 
positive Eu-anomaly. 

Dynamic experiments: glass compositions 

Major-element compositional data from glass in the 
permeable catadastic zones are also plotted in 
Figure 9.5. Melts produced at 760°C are clear glasses 
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with homogeneous major element compos1t10ns 
that overlap those produced in the static experi
ments at the same temperature. They also have 
similar compositions to low temperature experi
ments from Patina-Douce & Harris (1998). As tem
perature increases, two compositionally distinct 
glasses develop in the samples. One is dark in color 
and is emiched in Mg, Fe and Ti (Figure 9.5) and the 
second is clear and has a composition that is com
parable to the clear glass produced in the lower tem
perature experiments. The two distinct glasses are 
especially well-developed in experiment 2M-D16, 
where clear glass has accumulated at the sides of 
the charges and is not in contact with dark glass. 
Texturally, development of the dark glass is clearly 
associated with the melting of biotite. The presence 
of two distinct glasses is also evident to some extent 
for the highest temperature experiment, 2M-D3 but 
more mixing of the two melts is observed. 

REE data for the dynamic experiments are pre
sented in Figure 9.7 and show that the melts are 
closer to equilibrium than the static experiments. 
In the lowest temperature experiment (2M-D19) 
with limited melting, the glass has low REE 
abundances (>0.1 to <10 x CI), but shows a slight 
enrichment relative to the glasses in the static 
experiments but noticeably no pos1t1ve 
En-anomaly. The shapes of the REE patterns from 
different analytical sites are very similar and glass. 
in the dynamic experiments appears to be more 
homogeneous. REE abundances increase system
atically with temperature and increasing degree 
of melting, an effect that is most noticeable in the 
dark glasses. For ~xample, in 2M-Dl6 dark glass 
is highly enriched in REE, whereas the clear glass 
has similar REE patterns to those in low melt vol
ume samples in the static experiments, including 
the positive En-anomaly. At higher temperatures, 
high melt volume samples (2M-D3) are emiched 
in LREE and have positive Eu anomalies. 

Partial melting of muscovite and biotite
bearing assemblages: Models for the lower 

to mid crust from tbe view of trace elements 

REE concentrations are a common geochemical 
tool and they have been used extensively to assess 
melting processes in the crust and mantle. There 

are few studies of the trace-element geochemistry 
of micaceous phases in the literature (Yang & 
Rivers, 2000 and references therein). The majority 
of these studies, with the exception of Yang & 
Rivers (2000), employed bulk analysis of mineral 
separates to obtain trace-element data. Our analy
ses of the starting biotite and muscovite show that 
they have low trace-element contents and are 
essentially devoid of REE (but with positive 
En-anomalies in the muscovite). The analyses 
show that Rb and Ba are the principle trace ele
ments concentrated in the micas and have the 
potential to be contributed to the melt during the 
onset of partial melting. The data indicate that Sr 
strongly partitions into muscovite rather than 
biotite and consequently will contribute to the 
melt at the muscovite fluid-absent solidus, although 
this will depend on the presence of plagioclase too. 

REE are present in detectable concentrations 
all in hydrostatic and dynamic melts produced 
during partial melting at all temperatures. At 
the lowest temperatures, the concentrations are 
similar to the starting micas. We interpret the 
higher abundances observed at higher tempera
tures to be due to the dissolution of accessory 
phases (plus those included in the biotite) during 
melting. LREE may also be from feldspar, when 
it is involved in the melting reactions. REE data 
collected on feldspars from amphibolite and 
granulite grade metasediments from the Ivrea 
Zone (Bea & Montero, 1999) show that plagi
oclase and potassium feldspar, when normalized 
against chondrite, have moderate LREE (10,100 x 
CI), contains a Eu positive anomaly (100 x CI) 
and is devoid of HREE (<1 x CI). In addition to Sr, 
feldspar involved in the higher temperature mus
covite fluid-absent melting reactions will con
tribute some amount of LREE and Eu (along with 
the muscovite phase) to the melt, but negligible 
MREE and HREE. Monazite REE data show 
that abundances are greatly concentrated in this 
accessory phase (Bea & Montero, 1999). LREE 
are between 1.03 and 1.04 x CI and abundances 
steadily increase to 1.05, to almost 1.06 x CI for 
HREE. As discussed in Watson et al. (1996) and 
in Zeng et al. (2005 ), monazite, in addition to 
zircon, controls the REE element budget for 
many crustal rock types. 
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Fig. 9.7 REE data for glass measured in 
deformation experiments. Results are 
shown for deformation experiments per
formed-at 760, 800 and 900°C (2M-Dl9, 16 
and 3, respectively). Patterns are notably 
smoother than in the static experiments. In 
2M-Dl6, note that the clear melt (area a in 
Figure 9.3c) represents the low REE abun
dant muscovite-derived glass that escaped 
and pooled in this edge before it could inter
act with biotite (dark) melt (areas b, c in 
Figure 9.3c). 

From these experiments, we interpret the REE 
abundance to be dependant on at least two major 
factors, in addition to the melting reaction itself: 
i) temperature; and ii) the bulk composition of 
the melt. As temperature increases, the degree of 
fluid-absent melting of the micas increases releas
ing additional, larger 'phase armored' accessory 
phases into the melt (Watt et al., 1996). These 

phases, predominantly zircon and monazite, will 
undergo progressively more dissolution into the 
melt with increasing temperature. The effect of 
temperature on melting reactions and major ele
ment geochemistry is also demonstrated in Figure 
9.5. The location of the 900°C 2M-2 melts plot 
closer to biotite relative to 2M-5 and 2M-S32 
lower temperature melts. Once experimental 
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temperatures increase to where biotite begins to 
be involved in the melting process, production of 
biotite-derived melt increases. Melt also begins 
to migrate, perhaps using some of the melt net
work paths produced by the fluid-absent musco
vite reaction. The resulting hydrostatic melt REE 
patterns show an overall increase in abundance 
with temperature but with heterogenous distri
bution, dependant on the site of analysis. 

Bulk composition of the melt is also critical in 
determining REE abundance. At a constant tem
perature, each phase has a specific set of parame
ters that controls the amount of dissolution that 
will occur in to the melt. For example, the solu
bility of zircon is proportional to the magnitude 
of the cation ratio M = (Na + K + 2Ca)/(A1Si), as 
shown by Watson & Harrison (1983). The concen
tration of the LREEs in the melt and the H

2
0 con

tent are the two parameters that control the 
solubility of monazite (Rapp & Watson, 1986i 
Zeng et al., 2005 ). The melt produced by biotite 
and muscovite breakdown will incorporate the 
inclusions of zircon and monazite released into 
the melt until saturation is achieved, if given 
enough time. At constant temperature, the biotite 
derived melts (dark glasses) demonstrate elevated 
REE abundances when compared to muscovite
derived melts (colorless glasses). This observation 
can be attributed to the slightly elevated M val
ues of the biotite-derived melts and the higher 
solubility of tREEs in a melt with higher concen
trations of ferromagnesian components. 

Whereas the abundance of trace-elements in 
the melt phase are attributed to factors described 
above, trace-element distribution and REE pat
terns of melts appear to be controlled mainly 
by the nature of the melt network paths that occur 
in the experiment, and therefore can then be used 
to help assess rates of melt migration. Melt path
ways in hydrostatic experiments produce perme
able, interconnected crack networks formed by 
the reaction-induced microcracking associated 
with the volume change of the muscovite fluid
absent reaction. In the dynamic experiments, 
melt-enhanced deformation produces permeabil
ity, but deformation in the presence of melt 
reduces grain size by cataclasis, and melt is more 

evenly distributed, more mixed and intimately 
associated with solid mineral phases than in the 
crack networ.k system. The hydrostatic network 
therefore limits chemical communication rela
tive to the dynamic produced pathways, and melts 
derived from muscovite reactions will be very low 
in REE and essentially be in disequilibrium. This 
is certainly the c·ase on the scales of length and 
time in the experiments and may happen in 
nature, as discussed by Sawyer (1988), Nabelek & 

Glascock (1995) andWatt et al. (1996, 2000). Watt 
et al. (1996) examined a migmatite suite (Moine 
Kirtomy Migmatitie Suite in Scotland) and the 
leucosomes (representing melt that had migrated 
from its source) with similar chemistry as the 
experimental melts derived from muscovite 
breakdown, including the positive Eu anomaly. 
The positive Eu anomaly may arise due to dise
quilibrium melting of feldspar combined with 
LREE- and HREE-bearing accessory phases being 
left behind in the solid restite. This is also likely 
in the experimental study. This field study inferred 
that small batches of melt escaped rapidly and 
was enhanced by deformation. In the dynamic 
experiments reaction, kinetics are enhanced and 
local variability in melt composition is reduced 
but there are still sites of melting that have not 
equilibrated. This may, in part, explain the varia
ble REE abundances observed in the melts and 
why some glasses are similar in composition to 
the static experiment glasses. The variable glasses 
reflect localized differences in melt composition, 
even at the highest run temperatures. In a later 
study, Watt et al. (2000) found evidence for micro
fracturing in residual quartz from three granulite 
facies migmatites. Crack densities were higher 
than observed in the static experiments described 
above and approach theoretical interconnectivity 
thresholds for percolation, as also shown by 
Connolly et al. (1997). Watt et al. (2000) suggest 
that increased permeability arising from reaction
induced fractures may enhance melt extraction 
during partial melting. 

Deformation is an important additional varia
ble affecting the major- and trace- element melt 
geochemistry in the dynamic experiments. This 
is due to the difference in melt distribution and 
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enhanced reaction kinetics. The major-element 
melt compositions in the dynamic and static 
experiments are initially very similar to those in 
the lowest-temperature experiments. However, 
at higher temperatures, there is a significant 
departure in melt composition. This is best dem
onstrated by 2M-Dl9 conducted at 7600C, which 
has melt compositions that plot in close to 2M-S 
clear melts formed at 850°C (Figure 9.5). Whilst 
both melt compositions show low REE concen
trations overall, 2M-Dl9 is slightly elevated and 

. may have more involvement of biotite (lack of a 
strong Eu anomaly) relative to 2M-S and is dis
tinctly smoother in pattern from 2M-S32, the 
static experiment conducted at the same temper
ature. We interpret this difference as being a con
sequence of enhanced reaction kinetics in the 
dynamic experiments because melt-enhanced 
cataclasis reduces the grain-size and brings react
ing phases into contact more readily during 
deformation. 

A spread in the major-element data is observed 
in the dynamic experiments as temperature 
increases. 2M-D 16 consists of distinct populations 
of clear and dark melts {Figure 9.3c). Textural and 
compositional evidence suggests that the clear, 
colourless melts are early quartz plus muscovite 

plagioclase melts, which segregated into local 
dilational sites in the initial stages of deformation. 
The REE abundances of 2M-Dl6 clear melts are 
comparable 'to those of melts in the lower tem
perature static experiments. In contrast, 2M-Dl6 
dark melts plot closer to biotite in Figure 9.5 and 
have REE patterns reflecting the higher ferromag
nesian content and the possible incorporation of 
the larger of accessory phases as biotite 
reacts. Deformation has also enhanced the com
munication between the solid and melt phases in 
each melt population, resulting in overall smoother 
REE patterns. There appears to be very limited 
communication between the dark and clear melts 
outside of the cataclastic zone where extensive 
mixing does occur. 

2M-D3, like 2M-Dl6, also has two melt popu
lations. The higher temperature (900°C} of this 
deformation experiment has promoted more 
extensive melting and much more extensive 

compositional equilibration between distinct 
melt compositions. As a consequence, the 
distinct, low REE signature of the muscovite
dominated melt has been largely lost. At this 
temperature, extensive involvement of biotite 
and plagioclase, in addition to dissolution of 

accessory phase grains, is reflected in the 
more ferromagnesian melt chemistries and ele
vated REE abundances. 

There have been observations of these types of 
signatures in studies on leucogranites. Muscovite 
dehydration melting is thought to be the source 
for many of the leucogranites in the High 
Himalaya (Harris et al., 1995, 2000). Isotopic and 
trace element studies from these natural settings 
have helped with timescales of melting and melt 
segregation. 

Timescales of crustal melting: insights 
from Himalayan leucogranites trace 

element geochemistry 

Harris et al. (1995, 2000) performed quantitative 
modeling and geothermometry to relate the leu
cogranites of the High Himalaya witb potential 
pelitic sources and to help establish extraction 
and·crystallization timescales. In order to deter
mine the relationship between melting, extrac
tion and crystallization and their associated 
timescales, REE and trace elements Rb, Sr and Ba 
were used to assess equilibrium, along with mon
azite and zircon thermometry. 

Disequilibrium due to rapid segregation of 
muscovite-derived melts, was inferred to have 
occurred by the observation of differences in tem
peratures from monazite and zircon thermome
try. In addition, some of the studied leucogranites 
were inferred to have been composed of melts 
that were undersaturated in REE (most notably 

which implied that the melts were 
extracted in <lOka. Experimental studies on a 
Himalayan pelite (Patino-Douce & Harris, 1998) 
suggested that some Himalayan melts were also 
undersaturated in Zr and therefore segregation 
may have occurred within 100 years. Short times
cales, such as these, have been discussed in 
Clemens & Mawer, {1992) and Petford et al. (1993, 
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2000) for the emplacement of granite through 
a dyke network. The transport distances of 
Himalayan granitic melts have been suggested by 
Harris et al. (2000) to be up to 10 km and may be 
achieved by dykes in about 1 day. At these rates 
even the largest leucogranite could be emplaced 
in around 10 years. Crystallization of Himalayan 
melts involved longer timescales from the mode
ling of Harris et al. (2000). They calculated that if 
the magmas were emplaced as thin sheets (-lOOm 
wide; see also LeFort et al., 1987 & Cruden, 2006) 
a timescale of >500 years would be required. 
Therefore it is likely that, for sheet complexes such 
has the leucogranites in the High Himalaya, it is 
the tectonics of space creation plus perhaps the 
crystallization processes rather than melt segrega
tion and transport that is the rate-determining step 
on the establishment of a solid intrusive body. 

From these combined field and experimental 
studies, the overall timescales of melt segrega
tion and emplacement for many granites related 
to mountain building are rapid and may be 
< 1 ka. This suggests that deformation must also 
be present and rapid, because melts would 
have solidified in a few hundred years. However, 
the timescale required for prograde heating of the 
magma sources in the crust is much >1Ma 
(Connolly & Thompson, 1989; Thompson & 
Connolly, 1995). As the melt production rate is 
determined by heat flow into the source, it is 
likely the rates of magma production in the crust 
is therefore determined by the heating processes 
(underplating, intrusion of mafic magmas) and 
the thermal diffusivities of crustal rocks, not the 
ability of the melt to segregate. 

During partial melting in the mid- to lower 
crust, both the mechanism of melt segregation 
and the nature of the short-range transport paths 
can exert significant control over melt geochem
istry, because these variables influence the degree 
of equilibrium achieved between the melt and 
the solid restite (Sawyer, 1991; Watt et al., 1996). 
It is therefore likely that the physical process of 
melt segregation will leave a chemical signature 
that may be delected in the anatectic melts and 
the rocks that melted to form them. The above 
studies suggest that there are distinct differences 

in composition between melts derived statically 
and distributed in crack networks from those 
formed in permeable shear zones. These differ
ences in composition can be exploited by studies 
of natural anatectic granites to estimate rates of 
melting, extraction and crystallization. As these 
melts rise into the upper crust, assimilation can 
also become an important contributor to final 
magma composition. 

MELTING AND ASSIMILATION IN 
THE UPPER CRUST 

The picture that we have constructed thus far is 
one in which segregation, ascent and accumula
tion of silicic magma generated in the mid- to 
lower crust are rapid, potentially discontinuous, 
processes. Much of the chemical diversity of 
magma compositions appears to be acquired at 
depth, where the type of melting reaction and the 
interplay between deformation and melting can 
play critical roles in the composition of individ
ual melt batches. However, some volcanic and 
plutonic rocks still require assimilation of upper
crustal material to fully explain their chemical 
and isotopic characteristics (Verplank et al., 1995; 
Tepley & Davidson, 2003; Ramos et al., 2005; 
Knesel & Duffield, 2007). 

Accordingly, in this section we turn our atten
tion to the processes and rates of melting in the 
upper crust. Here we expand the scope to include 
mafic, as well as silicic, systems. We begin with a 
summary of evidence from some natural exam
ples of xenolith and wall-rock melting and disag
gregation. These studies demonstrate that melting 
is rapid, and attendant assimilation of partial 
melts, dispersion of refractory minerals (xenoc
rysts or antecrysts) and associated crystallization 
reactions (Beard et al., 2004, 2005) may operate 
over timescales that are comparable to or shorter 
than the typical eruption repose periods of many 
volcanoes at convergent plate margins, as recently 
highlighted by Dungan (2004). Such evidence for 
rapid melting and assimilation in nature provides 
the rationale for re-examining what laboratory 
experiments can tell us. In this context, we 
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Mt Mazama, another Cascade arc volcano 
well-known for erupting partially melted plu
tonic rocks, provides additional insight into the 
timescales of melting in the upper crust. Blocks 
of variably melted (0-50 vol.%) granodiorite, 
along with minor diabase, quartz diorite, granite, 
aplite and granophyre, were ejected in the cli
matic eruption that formed Crater Lake caldera 
at Mt Mazama (Bacon, 1992). Because the major
ity of the ejected blocks lack adhering juvenile 
magma, it appears that they represent fragments 
of the composite pluton associated with growth 
of the system that eventually produced the cli
matic caldera-forming eruption at 7.7ka. In this 
case, however, melting has been inferred to occur 
prior to entrainment (Bacon, 1992). Diffusion 
considerations of Zr gradients in glass (La 
Tourrette et al., 1991 ), homogeneity of titanomag
netite and preservation of oscillatory zoning in 
plagioclase (Bacon, 1992), and 0-isotope re
equilibration among quartz and plagioclase 
(Bacon et al., 1994) in partially melted rocks con
strain the duration of melting to as little as 10 
years (oxygen isotopes) to perhaps as much as 104 

years (plagioclase zoning). Although it is not pos
sible to more tightly constrain the timescale at 
present, an important point worth making here 
is that, if the duration of melting did approach 
104 years at Crater Lake, it was not sufficient to 
achieve chemical equilibration between melt 
and residual minerals for some trace elements 
(Bacon, 1992) and Sr isotopes (Bacon et al., 1994) 
in some of the partially melted blocks. 

Crater Lake also provides constraints on the 
timescale for assimilation. On the basis of trace
element (Bacon & Druitt, 1988) and isotopic evi
dence (Bacon et al.,· 1994), it has been suggested 
that the climatic rhyodacite incorporated up to 
25% partial melt and restitic minerals from the 
shallow plutonic portions of the system. These 
rocks contain the accessory mineral zircon. 
However, because it lacks zircon and because it 
was not zircon saturated, the climatic rhyodac
ite seems to have dissolved any zircon liberated 
from the digested plutonic blocks. Therefore the 
mineralogical evidence of assimilation was 
erased within a few thousand years or less 
(Bacon & Lowenstern, 2005). In contrast, despite 

also being undersaturated with respect to zircon, 
precaldera rhyodacite erupted at -27ka does 
contain resorbed zircon similar in size, shape 
and zoning to those in the granodiorite 
blocks.238U-230Th ages determined by secondary 
ion mass spectrometry (SIMS) suggest that the 
zircons, along with 80% of the plagioclase, in 
the rhyodacite were recycled from the plutonic 
rocks (Bacon & Lowenstern, 2005). When cou
pled with models for zircon dissolution (Watson, 
1996), these results constrain the timescale for 
melting, disaggregation and dispersal of granodi
orite into the pre-caldera rhyodacite to a few lOs 
of years before eruption. 

Such short timescales may seem impractical 
given some conventional views of protracted 
accumulation and differentiation of silicic magma 
at long-lived volcanic centers. They are nonethe
less consistent with: 
• Kinetic models predicting a characteristic 
timescale for assimilation on the order of weeks 
to years (Edwards & Russell, 1998); 
• Theoretical analysis of xenolith assimilation 
complimented by laboratory analog experiments 
yielding melting rates on the order of 1 mm/hr 
(McLeod & Sparks, 1998); and 
• Independent estimates for assimilation times
cales on the order of decades or less, arising at a 
variety of magmatic systems ranging from rela
tively small-volume basalts (Costa & Dungan, 
2005) to some of the largest rhyolitic eruptions 
known on Earth (Gardner et al., 2002). 
Thus, there is now a growing body of theoretical 
and field evidence that melting and assimilation 
in the upper crust can be strikingly rapid and effi
cient processes, regardless of the composition or 
size of the system. With this insight in hand, we 
now return to the geochemical characteristics of 
our Sierran example of contact melting. 

Geochemical consequences of rapid 
melting and assimilation 

A result of the apparent rapid nature of melting 
and assimilation in the upper-crustal environ
ment is that contaminant compositions may 
deviate from those expected from equilibrium 
melting models (Maury & Bizouard, 1974; Kaczor 
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Fig. 9.9 Plot of initial Sr-isotope ratio against concen
tration for clear, pale and dark glass from two wall-rock 
samples representing moderate (-35%) to high degrees 
(-60%) of partial melting of granitic crust near Earth's 
surface. 

et al., 1988; Philpotts & Asher, 1993). Exami
nation of the Sr-isotopic compositions of glasses 
from our partially melted Sierran granitoid 
(Figure 9.8) serves to underline this notion. Initial 
87Sr/86Sr ratios of separates of dark to clear glass 
range from 0.7140 to 0.7076 (Figure 9.9) and 
reflect rapid disequilibrium melting with com
positions controlled by local mineralogy. Of 
course, evidence for isotopic disequilibrium in 
nature and the concurrent ramifications for 
interpretation of isotopic data from igneous 
rocks are not new; such disequilibrium was 
observed over 30 years ago by Pushkar & Stoesser 
[1975) in an elegant study of a partially melted 
xenolith from the San Francisco volcanic field 
and has since been well documented in other 
xenolith and wall-rock settings [Bacon et al., 
1994; Tommasini & Davies, 1997; Knesel & 
Davidson, 1999; Davis & Tommasini, 2000). Yet, 
as provocative as these observations are, poor 
constraints on the conditions and duration of 
melting, and even initial rock compositions in 
some cases, plague attempts to establish a gen
eral framework for understanding the isotopic 
characteristics of anatectic melts from field ana
logs. A different approach is needed, and here 
again is where experiments can help. 

Constraints on melting of granitic crust 
from the laboratory: A tale of two 

experiments 

In view of the foregoing evidence for disequilib
rium in the upper-crustal melting environment 
where granitoid rocks are prevalent, we consider 
here two experimental approaches designed to 
study the isotopic compositions of melts formed 
from mica-bearing granitic starting materials. 
The first employs large (in experimental terms), 
-27 cm3 (40-50g) granite blocks. The use of solid 
granite, rather than a powder, allows us to study 
the formation of melt along grain boundaries as 
would occur in natural systems. Due to the large 
sizes of the granite blocks, these experiments 
were conducted in a muffle furnace, at atmos
pheric pressure between 1,050 and 1,250°C. The 
second set of experiments was performed using 
0.3g of fine sand (75-100 flm grain size) derived 
ftom the same granite. The smaller sample size 
affords us the opportunity to study the composi
tion of melts formed under confining pressure. 
The experiments on the crushed granite were per
formed in a piston-cylinder apparatus at 600MPa 
over temperatures between 850 and 1,000°C. 

The starting material is a coarse-grained 
Proterozoic granite from the Marble Mountains, 
Mojave. desert, California. Although the rock is 
mineralogically variable on the hand-sample 
scale, it consists primarily of subequal propor
tions of alkali feldspar {up to 2cm in length), pla
gioclase, and quartz along with 10 to 15% biotite, 
minor magnetite and secondary muscovite. While 
somewhat similar to the pelite examined earlier, 
in that both starting materials contain two micas, 
the muscovite in the granite is subordinate to 
biotite and it represents a hydrothermal altera
tion product primarily present as fine sericite and 
small flakes (up to several hundreds of microns) 
within variably altered feldspar grains. The gran
ite represents a common upper-crustal rock and 
exhibits the typical melting reactions observed 
for partially mel ted xenoliths {solid-granite exper
iments) and in conventional experimental studies 
of mica-bearing rock powders conducted under 
hydro- or lithostatic pressure (crushed-granite 
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'NilS Joc~l i;.ed :\long qu:tnz-l'e!d~p.u C(l!l L.tcL~, hoth 
at the Il1:H~i 1\S of C":OlHSe gmi.t1::. :lu:i wher~ qtMCC?. 

occLIIl':.·.d as stnall inclusions ., .. j lhin fel<tsp<lf5. 
Tht: total nlelt .fur.tlotl to.::.e dr.om.1~L i.ca lly to 
50wt.'}~ at 1,100;.C. r'4~lt al thi.s t\.:Hlp\.:r.:~ture 
consisted of dear and dark \'ari<:tie~ lFi:!tm.: 9.10.1. 
The 1 ext11r:IJ and geoclu~mic:tl cllar.acc\;T.,~tics ut 
both gfa~~ l:}'l1e~ fndica1 ~ they ~r.e b~~t de~eri hc.:d 
h}1 di~.eqt1flihri1!m rcacticm~ iuvot·,;ing pln,~iocla!::it' 
+ alkali idd~par : •. q Uitrt/ .. 1 \O prud l•a;e d~<i r rudt 
and bivtitc 1 plaj!.jucla"e (~ alkali feldspar and 
quartz~ tll J.1J:odu~·:.·. (htrk rnclt <m,·l rc~idLw 1 iron 
v.;dd.e~. h.1llD\ .. ·iilg t'U1!1 larg~ inilhtl rnehitl~ ~Lep .. 
rnt>lt {rllCI ion i ncre:u.ed r,r.~duai ly with inr:rca~i ng 
t~n1per:uure iD 'J7wl.% <•t l,~•.t-O''C, 1nainJy 
Lh.·ough di~~olu1 hm :1t ~·emai ning plagiocl:t~c '0\"ith 
·;,n 1}• minor contrHludnn~ frnm qmncz. 
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Sr-i ~otopic .itn.~ l}'s is of ~~labs ~cp.Dratt'.s fur both 
IYl.~h t}1'es de.wo.a~tratcs ~triki ng i ~otopi c dl.!',e

q lll1 ilJdum .:!t. t l1t~ on~r.·f of mehing. In generaJ, 
:hnk p.J.~'-!1 .t~ n•.ore rcadit'>.~cnic dun the hu I k gr:m
~te dne to the .~jgnific~mt contrihutlon. af hintite
d~rbred St, ~Sl.d c1 eat ghs.o:. :s l<.:~s r:~dir.1ge11i~: 
bct·~ILIS<:. its Sr is 111air.Jy deri v~d J rom lhe two 
tdd~~~r!=l :1 =if~\ITe 9 .J 1<1 ). \~lith jncrcasing tcm· 
perature, Lhe t:o!=;(:'·'-<-Sr f:Hiu.~ for borh tlm·c.o;~ . ..: 
<.;v(l}'v<.; tO\"'<Jnts tht.~ wh.ol.:.·-rock conlpm;idCln, 
~·;hH~t ~l' l'Ofl(:.en t.r~'t i l)u.~ hl<.;rt.~mu::, :ts thi..: rc~titl! 
~,;n lves 1 n'\•to-:~ rrl~ .-:~ Sr-fr~t: q u" r1 ;.;-rid• n~e.i>ll.lt:. 
[1\;CCT·:)n 1nicroprnhc and n1icro-d ri.ll S<•JUJlling 
\ff'lr nujar dc1ncnt a~\d Sr -i~Qlf'IJlt:'· ;,u:tly$e~, 
respectivt'! lyl dem nn.c.tr:J te 111.11 tl1e t".d rt>:rnt': com
poshior.~ of the n•tfl melt l ypee. reiler:ls inc-:oJ;n
plcr.e mixing over l h~ .::.h•>rl flunj Uo•.t oi th!': 
t:x p~ l'i n· e l)t !1 ( 1:igu r~ •). n~ K 11t>..,<·l & '):• vi d:-c<.HI, 

1996;•. C.r•tcn time to mix con1pletely thrO\Jgh 
diffnsifln .. ·v:h kh would tak.e in Ll•e orcler ol ~ iew 
yt:.:H,:: or less for the COllditiorh. ernpJoy<:d hfre 
(Pigure 3 of Kn:.!sel /!;.. Davidson, 1996;•, hulk 
mdt ~'Sr/~;.s~ ratios: start h~'t:h and cvoJvc 
::r:l,~<~r~n::r.' tow;nd!=l 1 ht': r.om p<1.::.i 1 i(Jn nf ~lu·· .::.nn rc;~ 
rock 1r':ith Lhc advrutcc of melting IF,gure 9.11b:. 
Th.i~:~ bl!havi<.lt it. sinrilnr to that observed in our 
natu.raJ Sit•J'f<~n :t(\nlog (l'iture 9 .9j, as \Vdl it~ ill 
other SLttdic~ of partial I}• m~tterl rflr:k~ ( Pu~h ka'r 
.1-J.. SC.n!':~5er,. 1975; Racon eta f., 1994; 'fClmma~ir.i 
& Davie~, 19971 :1nd in 1-al(\1 experin1encs 
invulvingphlogopitc "nd phtgiuclasc (Hammoud" 
l'.}. tzl ... :996~. Cullcctivdy th~~c ~nudi:.!~: undcr
~r:ort: che signiiic.ance of the in~tahi I ity of 
hydrou~ mincnll~ on melt composition umler 
lire lo'\ ... --prcs~urc conditimi~ prevailing durin.> 
rn t~ll i ng in the upper cru~c. A question rc1n~ins, 
hov~o'\.:\,.&:I, il$ tu Jl (IW tb.l!::i geile r;lli'l.:l tion exLetH:.& 
to mcltln,ii, d~t:pt':r ill th~ (:ru.~l. \'Vt': ~·ddre~.:;. tills 
prc.)hl,'.Tll h:l•)w. 

I.'i()tOpi<.'. c:uttlposiUoa~: o/ m~lts 
genr.n:tel! at de;Jr12 

In .ar.rt~~m~nT ~ ... ·;th ptc¥iou~ cJqK·riin~nt<•l !itndi e~ 
ICanlicn el al., J.002, andrdcrcnce thl!n·..in~ .. Jne]t
in~~ in the pi!:lton-qdiuder e.xped1n~ntb cnnJ.uctt·.d 
~ 1 601) IV!Pa hc;;an l>)'i'J ,0 re~e"s•d in i li•Jiy through 
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Fig. 9.13 Plot of Sr-isotope xatio against temperature 
for 600MPa granite melting experiments, showing 
control of melting relations on melt composition. 
Initial melt 87Srj86Sr determined by regression of 
time-series isotopic data for 850, 875, 900, 950 and 
l,Ooooc experiments. Muscovite-dehydration melting 
produces with an ratio below that of 
the material. However, melt 87Sr/86Sr 
ratios increase with increasing temperature 
because of dissolution of alkali feldspar, until finally 
incongruent breakdown of biotite above 950°C 
melt with an "Sr/"6Sr ratio greater than the source 
material. 

Figure 9.13 shows the variation o.f 
ratios as a function of temperature in rhe exper

melts extrapolated to the onset of melt
from time-series data ranging from 2 to 28 

days. The striking result is that, in contrast to 
the 1-atm experiments and numerous examples 
of low-pressure xenolith and wall-rock melting 
in natural systems, the Sr-isotopic composition 
of the 600-MPa melts start belmv the whole
rock value and increase with the progress of 
H><OLuut;. In this case, the low-87Sr/86Sr ratios of 
the lower-temperature melts are a result of the 
unradiogenic Sr in the plagioclase consumed in 
the initial muscovite-dehydration reac
tion. With temperature, the melt 

ratios increase gradually through dis· 
solution of alkali feldspar and ultimately by 

incongruent breakdown of biotite, 
which at temperatures above 950°C produced 
melt with an 87Srf86Sr ratio greater than the 
starting """"n"c, 

Partial melting (and of 
muscovite- and biotite-bearing 

revisited: Models for the mid 
to upper crust the view of Sr isotopes 

Radiogenic isotopes are a powerful means of assess
ing crustal melting and contamination models. 
However, the evidence here for disequi
librium suggests that the isotopic of 
crustal melts may not necessarily be the same as 
their source. We have seen that the use of trace ele
ments may be problematic as well (e.g. REE in our 

melting experiments) in that melt cmnpos1 
tions may deviate from those predicted using 
established phase equilibrium and mineral-melt 
partitioning data. The question that needs to be 
addressed is whether this recognition represents a 
step forward or backward. If melting in the crust 

is a disequilibrium process, would it not 
make constraining source and contaminant signa
tures a less tractable problem? We propose that in 
accepting that this is what (at least at 
some times and in some places), we are in a posi
tion to make real progress. The clahn here is that 
the isotopic (and composition of a 
cmstal melt is a function not of the composi-
tion of its precursor, but also of the processes by 
which and rates of which it is formed and extracted. 
The corollary to this is that, if we can establish a 
general framework for modeling the isotopic com
positions of crustal melts, we then have a powerful 
tool to constrain the mechanisms and timescales 
over which melts are extracted or assimilated. 

In addition to kno"~Nledge of the source mineral
ogy, the and temperature of melting, 
because of their control on mineral stability and 
their proportions involved in melting reactions, 
are essential parameters for any 
melting model. may vary between 
or even during different events, and must 
be assessed on a case-by-case basis. However, 
observations drawn from our pro
vide a framework for evaluating melting behavior 
and resultant melt isotope compositions as a 
function of depth. 

From our experiments at 600 MPa, we conclude 
br-IsG,to]plc co:m"j:)OSitH)nsof melts generated 

at mid-crustal depths conform to those expected 
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from traditional phase equilibria. Near the solidus, 
fluid-absent melting yields melts with 87Sr/86Sr 
ratios below those of the source, whilst melting at 
temperatures sufficient for biotite incongruent 
melting, produces high_87Sr/86Sr melt (Figure 9.13). 
This agreement gives confidence in modeling the 
isotopic compositions of partial melts in natural 
systems using experimentally determined melting 
reactions (Knesel & Davidson, 2002; Zheng et al., 
2005 ). In turn, through comparison of such models 
with the products of melting in nature (e.g. gran
ites), we can evaluate the types of melting reac
tions, the mechanisms driving melting, and the 
timescales and factors governing melt extraction 
and ascent. Application of this approach, for 
instance, has shed light on the controversial role of 
fluids and the influence of deformation on the gen
eration and extraction of crustally derived leu
cogranites of the Himalayan orogen (Knesel & 
Davidson, 2002). Isotopic disequilibrium during 
the production of some of these leucogranites is 
consistent with independent estimates for extrac
tion times of lOka or less (Harris et al., 2000). 

In contrast, melting at shallow crustal levels 
appears to take place far from equilibrium. Under 
these conditions, melt compositions are control
led by the texture mineralogy of the source and 
cannot simply be modeled by phase relations 
derived from experimental studies of rock pow
ders in the laboratory. Nevertheless, our 1-atm 
experiments (Figure 9.1lb), along with those of 
Hammouda et al. (1996), suggest that the instabil
ity of biotite and, to a lesser extent, amphibole at 
low pressure may lead to production of partial 
melts with 87Sr/86Sr ratios greater than those of the 
source rocks. Whilst this scheme is clearly sup
ported by observations from the case studies dis
cussed above (Figures 9.8 and 9 .9), the consequences 
for crustal contamination processes are less clear. 

If melting is rapid and runs nearly to comple
tion, as might be expected during entrainment of 
granitoid xenoliths in mafic magma, the isotopic 
composition of the assimilated melt is likely to 
approach that of the inclusion as a whole. The 
resulting contamination may therefore approach 
that produced by bulk assimilation. In this case, 
the physical record of contamination, apart from 

scattered xenocrysts (primarily of quartz), may be 
cryptic. A word of caution is warranted here, how
ever, as this does not mean that the contaminated 
hybrid can be assumed a priori to be a simple, uni
form mixture of contaminant and host magma. If 
mixing is not complete at the time of eruption, 
considerable isotopic variability can develop, even 
within a single lava flow (Laughlin et al., 1972). 

Whether upper-crustal xenoliths entrained in 
silicic magma should meet the same fate is less 
certain. The lower temperatures of dacitic to rhy
olitic magmas should limit the extent of partial 
melting and therefore encourage production of 
high_87Sr/86Sr melt through initial breakdown of 
biotite and/or amphibole. Assimilation of this 
melt would impart a very different signature than 
that of bulk contamination. However, insofar as 
shear stresses related to flow of viscous magma 
may promote rapid xenolith disaggregation 
(Green, 1994; Dungan, 2004; Beard et al., 2005), 
we might envisage an alternative scenario. Since 
disaggregation disperses both melt and restitic 
fragments into the host magma, contamination 
may again approximate a bulk process. Conversely, 
sedimentation of refractory xenocrysts might 
still push the net effect towards one of selective 
contamination. There is thus a need for a better 
understanding of two- or even three-phase flow 
that may attend melting and assimilation of crus
tal materials. Nevertheless, in any of these sce
narios, the xenocrysts (or antecrysts) are likely to 
be significantly more abundant and diverse than 
in our previous example of assimilation by mafic 
magma. Plagioclase, alkali feldspar, pyroxene, 
Fe-Ti oxides and common accessory minerals, 
such as zircon, monazite and apatite, along with 
any unreacted hydrous phases may be released 
into the host magma. Geochemical characteriza
tion of these disaggregated crystals provides a 
useful tool to clarify the nature of the mecha
nisms and timescales involved in shallow-level 
assimilation and differentiation. As we have seen, 
it is the efforts in this area that have begun to 
show us how rapid such processes can be. Finally, 
it is also worth pointing out that other features, 
such as wispy patches, stringers and other 
indistinct concentrations of minerals that are 
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common in plutonic rocks at thin-section to 
outcrop scales but are commonly avoided in geo
chemical investigations, may be remnants of 
incompletely assimilated material. The study of 
these features may ultimately help to further 
constrain the assimilation process, as recently 
highlighted by Beard et al. (2005). 

su 

We see in convergent zones and in some intra
plate settings the ex ression of many of the 
aspects of continental rust melting, segregation 
and assimilation proc sses discussed above, on 
both the outcrop and g ain-scale. We see not only 
the development of c mpositional and isotopic 
variations in the crys allized magmas, but the 
rheological and stru tural response to melt
enhanced weak zones Experiments on natural 
crustal rocks have prov ded an important approach 
determining the varia les that control melting, 
melt segregation and the rates at which these 
processes can occur. sing state-of-the-art ana
lytical equipment, e can determine trace
element abundances and distribution in the 
experimental melts t establish melting reac
tions, and the influen e of deformation on melt 
composition. REE pat rns of melts appear to be . 
mainly controlled by e nature of the melt net
work paths 'occurrin in the experiment and 
therefore can then be sed to help assess rates of 
melt migration. Melt pathways in hydrostatic 
experiments are perm able, interconnected crack 
networks produced y the reaction-induced 
microcracking associ ed with positive volume 
changes. However, in he dynamic experiments, 
melt-enhanced defor ation produces permeabil
ity, and deformation in the presence of melt 
reduces grain size by taclasis. Melt is therefore 
more evenly distribu d and intimately associ
ated with mineral ph ses than ·in the crack-net
work system. The res t is that the melt is more 
homogenous in trace- lement and isotope com
position. Physically, t e presence of melt along 
and within grains ca strongly influence rheol
ogy, producing weake ed zones in the crust. 

On the large scale, partial melting and subse
quent migration and emplacement of that melt 
are the fundamental processes by which the crust 
chemically differentiates. Therefore, magma 
compositions themselves provide a resource 
through which we can further explore crustal 
chemical and physical evolution. We find that 
the isotopic composition of a crustal melt is a 
function not only of the composition of its pre
cursor, but also of the processes and rates by 
which it formed and is extracted. We suggest that 
the trace-element and isotopic compositions of 
crustal melts provide tools to constrain the mech
anisms and timescales over which melts are gen
erated and extracted or assimilated. From 
combined field and experimental studies, the 
overall timescales of melt segregation to emplace
ment for many granites generated during moun
tain building are <1 ka. These rapid rates are also 
found in a variety of studies on melting and melt
transport processes in the continental crust. 

Figure 9.14 shows a summary of different segre
gation, transport and emplacement rates taken 
from this study and the literature. These rates rep
resent a fracture-dominated system and are most 
applicable to areas of very active deformation, 
such as the Himalaya. Melting is driven thermally, 
not by fluid influx, so the rates are for processes 
occurring under dominantly fluid-absent condi
tions. Rates for melt segregation in the lower crust 
come from Sawyer (1991) and Watt et al. (1996) 
and are based on disequilibrium in leucosomes. 
These studies used trace elements to estimate the 
degree to which equilibrium was obtained, partic
ularly Zr, in the leucosome. Melt segregation is 
driven by pressure gradients developed during 
deformation (plus positive volume changes as 
noted by Watt et al., 1996, 2000) and occurs at a 
rate of about 1 to 2cmfyear. As shown here, exper
imentally, we observe melt accumulation at the 
edge of the capsules at the end of the deformation 
experiments. This demonstrates that permeability 
was achieved during the run time and, as the pres
sure gradients develop, migration can occur dur
ing this time frame. A minimum rate of -0.1 em/ 
hour is estimated for these experiments. The high 
strain rate applied to the samples in the deforma-
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site 
melting rate- (tabular granitoid 
( -0.1 em/hour) sheets to volcanic) 

-10 Leucogranite studies 
Numerical: (-1-10 km/day) 
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t (- 60 em/hour) 

-20 Experimental: Migmatite studies: 
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Mantle heat (basalt underplate) 

Fig. 9.14 Summary of different melt segregation and transport rates. These rates represent a fracture dominated 
system, thus the rates shown here are likely faster than in tectonically inactive areas. Rates for melt segregation in 
the lower crust come from Sawyer (1991) and Watt et al. (1996) from their studies on disequilibrium in leucosomes. 
Both studies show rates have been enhanced by deformation, plus positive volume changes during melting. Note, we 
have considered thermally driven melting for the lower crust and not fluid-influx, which will change the melting 
reactions from fluid-absent to fluid-present and the likely the rate of melting. Observations from the experiment<,! 
results on muscovite and biotite under lower crustal conditions described here show that melt moves along and 
through gra!ns to the edge of the capsule during the experimental run time, providing us with a rough estimate of 
migration rate. Clemens & Mawer (1992) consider fracture propagation, triggered by positive volume reactions, for 
granitic melt transport through the crust. In their numerical treatment of the problem, they show that granitic mag
mas are able to travel rapidly through fractures (dykes), to high crustal levels, without freezing. Their results imply 
filling times (emplacement) can build batholiths <1 ka, which agrees with Harris et al. (2000). Eruption rates are 
extremely rapid. The estimate of 60m/hour comes from two experimental studies by Rutherford & Hill (1993) and 
Castro & Dingwell (2009). Finally, a melting rate is given for the upper crust. The rate is from a combined theoretical 
and experimental stildy on xenoliths by McLeod & Sparks (1998). 

tion study allows for a large pressure gradient to be 
generated, but we also see melt accumulation on 
the capsule edge in some static experiments. 
Therefore, melt migrates at this rate without the 
aid of deformation (Connolly et al., 1997). 

Clemens & Mawer (1992) modeled fracture 
propagation and granite magma transport by 
dykes from the source to emplacement. They 

considered that fracturing developed during posi
tive-volume melting reactions. Their results 
show that granitic magmas are able to travel rap
idly through fractures to high crustal levels, with
out reaching thermal 'death' by freezing. Their 
transport rates are -60 em/hour. This suggests 
that magmas can trav~ 20 km in about 8 months. 
Thus, filling times (emplacement) for even large 
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batholithic complexes can be achieved in <1lza, 
which agrees with Harris et al. (2000).· 

Figure 9.14 also includes results from two exper
imental studies by Rutherford & Hill (1993) and 
Castro & Dingwell (2009), who both found erup
tion rates on the order of -60m/hour. Rutherford 
& Hill ( 1993) adopted an experimental approach to 
amphibole breakdown in lavas from Mt St Helens 
to estimate that magma ascent from 8 km depth to 

the surface occurred at between 15 and 66m/hr or 
131 to 578km/yr. Castro & Dingwell (2009) used a 
combination of petrological, experimental and 
rheological considerations to evaluate magma 
transport at the Chaiten volcano in Chile, which 
recently erupted rhyolitic magma with very 
little warning. Their results suggested that rhyo
lite transport from the magma chamber (-Slzm) to 
the near surface occurred in about 4 hours, or also 
about 60 m/hr. The estimated eruption rates from 
these two studies are in good agreement. 

We also include a melting rate from McLeod & 
Sparks (1998). Their approach combined theoreti
cal and experimental study of xenoliths assimila
tion. They find that melting rates are controlled by 
several variables, including magmatic tempera
ture, initial xenolith temperature, melting tem
perature and melt viscosity. Melting rates are on 
the order of 1 to 2 mm/hr and are most rapid when 
the xenolith temperature is close to the host 
magma temperature. These results are consistent 
with a growing body of theoretical and field evi
dence, indicating that melting and assimilation in 
the upper crust can be rapid and efficient processes, 
occurring over timt::scales of decades or less. 

CONCLUDING REMARKS 

For future progress in this field, there is a need to 
incorporate more numerical modelling. Current 
models need to address fluid fluxing as a melting 
agent1 incorporate the influence of melt extraction 
on melting and melt-source evolution, and be ther
modynamically constrained (calculated) so that 
melt compositions change for each time step 
(Jackson et al., 2003). They also need the ability to 
assess the 'true' shorter repose intervals to melting 

and melt extraction. In terms of experimentation, 
we still need detailed experimental (static and 
deformation) investigations of melt reactions, con
nectivity, migration and chemistry, but with spe
cial attention to accessory minerals and spatial 
variations in composition. The development of 
techniques that allow in-situ measurements has 
been, and will continue to be, a major factor in our 
improved understanding of melting and segrega
tion on the grain-scale. 

This is GEMOC publication #674. 
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SUMMARY 

While emptying >100-1,000km3 of silicic magma 
from upper crustal reservoirs takes a few weeks 
at most, the accumulation of these gigantic 
magma bodies, and therefore the recurrence inter
vals between supervolcanic eruptions, is up to 
107 times longer; high-precision geochronology 
providing eruption ages (39 Ar-40Ar) and magma 
residence times (U-Pb and 238U-230Th) indicate 
that the growth and maturation of these bodies in 
the upper crust generally takes between 105 and 
106 years. During that extended period of time, 
we now know that many processes, such as 
recharge from deeper sources, convective over
turn, crystal growth and dissolution, crystal-liq
uid separation, can repeatedly occur. While some 
processes (e.g. cooling and crystallization) will 
tend to trap magmas in the crust, others (e.g. 
recharge, partial .. melting, convective overturn) 
will favor eruption. Better constraining the rela
tive importance and rates of these competing 
processes involved in the formation and evolu
tion of large silicic magma bodies will lead us to 
more accurate predictions on when and where 
the next cataclysmic event will take place. 

Timescales of Magmatic Processes: From Core to 
Atmosphere, 1st edition. Edited by Anthony Dosseto, 
Simon P. Turner and James A. Van Orman. 
© 2011 by Blackwell Publishing Ltd. 

INTRODUCTION 

Discovering the existence of large, eruptible sil
icic magma bodies (with Si0

2 
contents >-60 wt.%) 

in the Earth's crust is a recent fundamental 
advance in volcanology. About 50 years ago, with 
the advent of modern geoanalytical methods, sci
entists studying volcanic products in long-lived 
magmatic provinces started realizing that some 
eruptions involved gigantic volumes of magma; 
up to several thousands of cubic kilometers (km3 ) 

evacuated from shallow reservoirs in just a few 
days to weeks. These are now commonly called 
'supereruptions' (see the February 2008 issue of 
Elements) and are equivalent to erupting, in a 
geological instant, up to 10 to 30 times the total 
volumes of large, long-lived stratovolcanoes (i.e. 
Mt Rainier in the Cascades Range in the western 
USA; (Figure 10.1). Apart from the eruption that 
destroyed part of the island of Santorini (Greece) 
around -1,600 BC, such events have never been 
recorded in any detail by human society, but their 
deposits and associated craters (collapse struc
tures named 'calderas') provide unambiguous 
evidence for the presence of kilometer-sized 
dominantly liquid silicic magma bodies in the 
upper crust (Smith, 1960; Lipman, 1984). 

Realizing that volcanic eruptions can span an 
enormous range of erupted volumes, volcanolo
gists have designed scales to rank explosive 
magnitudes of eruptions. The most commonly 
used scale, proposed in 1982 by Newhall & Self 
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Supervolcano - 30 km wide caldera 
with post-caldera resurgent dome 
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Fig. 10.1 (a) The 26.87 Ma Creede caldera in the Southern Rocky Mountain volcanic field, CO, source of the 

Snowshoe Mountain Tuff. Snowshoe Mountain in the resurgent dome in the center of the picture, which formed by 

intrusion-related uplift after the caldera collapsed. The Creede eruption emptied a magma chamber about 2 to 5 

times the volume of Mt Rainier {b), taken from Seattle, WA. Some super-eruptions can evacuate magma bodies lO 

times the size of these large stratovolcanoes in just a few days. 

Table 10.1 Range and characteristics of volcanic eruptions occurring on Earth (based on Newhall & Self, 1982) 

Number of occurences 

VEl Description Plume height Volume Example over last 1 0 ky* 

0 non-explosive <100m l,OOOs m3 Kilauea >10,000 
l gentle 100-lOOOm 1 O,OOOs m3 Stromboli >10,000 

2 explosive 1-5km 0.001 km 3 Galeras, 1992 >3,400 
3 severe 3-15km 0.01 km3 Ruiz, 1985 >850 
4 cataclysmic 10-25km 0.1 km3 Galunggung, 1982 >270 

5 paroxysmal >25km 1 km3 St. Helens, 1981 >80 

6 colossal >25km lOs km 3 Krakatau, 1883 >35 

7 super-colossal >25km 100km3 Tambora, 1815 >5 

8 mega-colossa I >25km 1 ,OOOskm 3 Yellowstone, 2 Ma 0 (last at 26ky) 

*Number of occurrences is approximate and based on accounts from the Global Volcanism Program ofthe Smithsonian Institution 

(http://www.volcano.si.edu/). Plume height refers to as the maximum altitude reached by the ash column ("plume") during eruption. 

(Table 10.1 and Figure 10.2), is called the Volcanic 
Explosivity Index (VEIL and is based on the vol
ume of erupted material. This scale grades from 
VEl 1, characterizing 'gentle' small volume lava 
eruptions occurring daily at volcanoes such as 
Kilauea (Hawaiian Islands, USA} to VEI 8 'mega
colossal' eruptions that occur very infrequently 

(approximately every 50,000-100,000 years, see 
following discussion) and lead to gigantic out
pourings of rock fragments into the atmosphere. 
The Magnitude scale {Pyle, 2000) is a similar 
method to rank volcanic eruptions (although it is 
based on the mass of a given eruption, using 
erupted volume divided by estimated average 
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VEl Volume Examples 
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Fig. 1 0.2 Comparing size of different 
eruptions within the VEl scale frame
work (from Newhall & Self, 198'2). 

densities of deposits), and is calculated by the 
following equation: 

M = log
10 

(m)-7.0 

where m is the mass of the eruption in kilograms. 
Estimating erupted volumes can be challenging, 
particularly for old eruptions, and/or in areas cov
ered by sea or forests. The VEl and magnitude 
scale classifications are only as good as the vol
ume estimates are. 

A better understanding of explosive volcanic 
eruptions becomes a more urgent priority every 
day as the human population expands (see the 
Naples area for a striking example of highly popu
lated and volcanically highly active region; Figure 
10.3). This is particularly true for large explosive 
eruptions (VEl ~6, with volumes ~10 km3 ) that are 
known to dramatically impact life on Earth (both 
directly because of eruption related hazards and 
indirectly because of resulting catastrophic 
climate repercussions; Roback, 2000). Infamous 
examples include the Minoan eruption of 
Santorini (VEl 6, -30 km3 ), which may have partly 
triggered the decline of the Minoan civilization 

(LaMoreaux, 1995 ), and the eruption of the Young 
Toba Tuff (VEl 8, -2,500 km3 ), which is thought to 
have nearly brought the human species to extinc
tion around 70,000 years ago (Rampino & Self, 
1992; Ambrose, 1998; Rampino & Ambrose, 
2000). The 20th century was fortuitously largely 
devoid of volcanic events on this scale, as the 
only eruption with over 10 km3 of erupted mate
rial, the Valley of Ten Thousand Smokes (VTTS) 
ignimbrite, occurred early in 1912 in a remote 
area (Alaska Peninsula, Hildreth & Fierstein, 
2000). The most recent event that created a sig
nificant environmental impact on the planet was 
the 1991 eruption of Mt Pinatubo (Luzon, 
Philippines; 5-7km3 of erupted S-rich material), 
which ejected -20Mt of S0

2 
into the atmosphere 

(Wallace & Gerlach, 1994) and induced signifi
cant global cooling (Soden et al., 2002). 

The accumulation and rapid evacuation of 100 s 
to 1,000s km3 of silicic magmas (VEl 7-8) does 
not happen anywhere on Earth, but is favored by 
a number of geodynamical parameters that 
restrict their occurrence in some specific areas 
(Figure 10.4). First, the largest and most silicic 
supervolcanic eruptions are only found within 
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Fig. 10.3 Pict.uce.! oi (h e l'\VO active volcanic compicx.cs in the .nc:l of N:!plc:~ !lt.:;ly), l:ihowin.g dt{l.scly pur:ulard 
;o;ur.C$ in and :uo.:.nd the- ·vult:anoc:~ (J:iccures t::<:urtt:S>• of D r A. Ner~ .. lNGV Pisa~. 

concim.:ntal landr,n<.tS$CS, wht:..'TC low·U<.:nsity and 
fusible prc··t,xistiJig wall rocks increase the likeli
hood of forming and accumnlating silicic ~~~
mas (Hughes & Mahood, 2008; although sec 
'J>Imur:t et al., 20G9 fnr rhyolitic units in an occ · 
.:.mlt: s~tti ngJ. They ar~ also panicularly comrnon 
in subd·-:r (.'.(ion zones, W]}e.te vo!a1 ile-charge.d 
m<ln tk-<le•·ived !-~salts h>el magm.•t>Slll, creating 
a panicularly cxplo::>ivc mix by th<.: time silicic 
magmas art produc.:c.d fFigurc 10.4). \¥ithiu vol
canic arcs, these <.'.ruption.5 tnustly take phu;~ in 

area• of high convcr~;cncc r"tc iHughes 15.. •"\"hood, 
20081.: h l.gh basalth:: :u~l:~\n;• genenttion in the 
m:uHlE': d ri ven hy fast convergence fnsters a very 

producli ve magm.atic dist.ill:nion r.olumn. On ~h~ 
other h <l r.Hl, b.1ck-at:c spreading :tppe;~rs to hnped~ 
supereru plions .. w hi le dur<~tio.n o{ l'll;lgm::tlisn l 
and obliquity oi subduc!ion have n•:o app;uenr 
c.ffc<.:t on \.,·h~re such eve:ttts oc-cur ilhw,hes & 

M"huuLl. 2008! . 
An .;ruption with :1 \:olum.~ of >lOk nls, ':vhidt 

will h•we apprech1ble. cou.!>equeoce.s on a world
wide $licaie, is s tatistically likely t(> <.'cxur within 
the nexL few dcca.dcs •:Table 10.1.1. A':>l::ittrn (l):lrized 
by a recem report un large \'Okomit; r::xurtions 
(Spad (s e t td., 2005), h is not a qu.estion of il1 hue 
rathcx a que.stiO.l'l <"J r when . T he wor ld's population 
shoul<l be .aware th;.t such global thret~tS .;xh;t, 
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ri~J. !O.'J ·\~l~Jrld nll.l' >ih•)v,:h.~ b~:.'idP':l~ ;whitt: .o;tu~: ,}f »~Jmc. ·well-l::,'l.mo;n luge cxplosZve ''Ok<lu!c r.rupti..m.'> 
( '100 l<r•'l·11 ov~r Lh~ lr.sl 1 !'.'l.a lb<lS-e~ .:Ill .self 2C()6 <lnd .Sp~rks 1:! tJ.i. ,,r,n,):. ~m~ m~: Jl.bnn:l;;.nc~~ (Jf :)apert:l1.1!-'Lioa:i 
;:.n!l:n~~ tin: P:~.::ltil· Riu,t( ut Fin: . .s~:<~ 1-Tngi.t:s :md M:~h<•u<l 200~ fQ; a mnt~ exl1.1us.Live datab;~$~. flasc n~p horn hrrp:.(i 
J.C~lo.~~·.com/uaslil:'wodd-~~)!;O()'al)hjc-;r~ap/. See Plue 10.4 foe a colr)lu ..-crsif.ln ot this. iM:lgc. 

and ':-okanologi~;cs arE" ·working lOW~rds cc)n
~l r.1i n i r.g :: .. ::. .~r~\JraL~;y .~to P'?~l=li ble the 1 i m.e iraule$. 
r~l.11 ed tn 1 ht::se ph~no,.nen.1. A~ man)· ru•tur..tl 
lu.:;::.;hi~ .. Lh~!i~ bilpervok..;u.~i r. etll pti•)'l·' :.Ht: r,en.er
-~f !y p~rce:i\:~d ~s I t:l1:; d~.nKerous tl1au o(her, m;m
m:Hi~ thr~.~IS :i.f':. gloh:•l W:}nniuf~ and nud~.1r 
wa~cc.e.l. although tht.')' can b.-: at I e:1sc a.~ de~l n.tc 
ti V\.' .. A<; <.• tnau<:r uf fact, VC.I 6 cvcnn: ilre the ulti· 
m;u e ~:.eolor,ic:.ll h:l/.:tr<h;, C'leJ• (:O:m.p;} :'f.'d tr> 1~ • te 
m~Lc":()rite 11~\par.tf ... \"t'h id1 are ii .. ·~ : n t~n l i rne~ 
lt-ss h kdy to occur in the tuture 1\~~oo, 1999.1. 
B;;£ti.:r t:tlm.trai!liug th~ tinl<:scalcs 1nvolvcd in the 
cottstrw:ti<:·r... and eruption of the~e lMgc si I ide 
magma bodic~ ir: ob,:~ouf\ i}' of utmo:~t impon:tnct' 
in tenu~ (Jt hazard:-~ rnr~igatinn ~nd nur muter. 
sumdi 11,1!: ol: Lh~ ,~mce~~P.S involv~d l$ our or1h tQ(JI 

to :,:,;~ess -:.he •·,sk!> a"1d red\.l<:c": d:Hll;t~'.~. 
ConsLr.1.i n ill:~ ri n1~sa.::ale~ of mit~~ln(ll i.:: ph<.·num · 

e"l.1 is a d:~•Hltitlg t;•o;k, ns th<.:y !::ip;.•n abtlliC 1·1 
order~ of m~zl\itud~. Procf':~~t-s jn ,.-ok:HUC cOf'l· 
duir~ during explo~1ve· ~rniH ions ~;;}u oc<:u r ,,... :thin 
~c:;ond::~ (:.:.g. m.1.gma lugm-en1.1.1.ion:1 .. whil.~t 1:h~ 

li fl.!sp.an uf a Lll'ge vuh:anic prnvill<.::; t·otllnlouh 
~xci.:cd~ r.en million~ year~ .. much in cx.c.:c~s uf 
what h11maL1S c.1n ducetly oh~ene. Thh c.:hapt<.·r 
'\.,·ill focu~ mainly un th\.' lon,~er tim~·.scales rd<.t-:t~Ll 
1 o th,: fonnatiur. ~ml lifespan uf large ::~Hicic 

n•agma hodics, r~ lying on i ndircct nl<eLhod~ to 
int~:r tim\.'SC<ll:.!~. Th\.· rnorc volcanulugk.:.l<j<;pens 
rd:•l ~d tc.' ecupl.ion ttle~;h:Hli ::>Jm; Jlr~ <ii,;.L;ll!=:~ed in 
other ch.1.pLer:;. o( t hi$. hook :~nd reJaLed publica 
Lions (sec ~ur,g:;stt'd ro:;ading at the end ~lf rhis 
chal'tclJ 

Silick ma~~uas do not ucccs~ru·ib always erupt; 
•;a$t ;;rauitk plurom .. e.uc.:h as tho~e fuund iu a 
nearl "t' ..:untinvou~ chaiu from Al~tSl.:.H to Suutheta 
Chile.. ttl~o fonn lar~e siJi cic ma,~ma botlic!:> .. 
;}it hough th\;y reach complete solidification 
before they can er:c:tpc th~~r resen·ol r~. \Xlhac dn 
tl1~y ~~~~ \l.$ ~hom.Lhe dme$c.ales nr ::;ilidc magma 
gener:1.H0(1, <lnd hn"" c:an w~ Jink them tn the vol· 
a.;~u1ic world';' A ~hoa ~uh~ecth)l\ on the pluconic 
p~r~pective ·wiU bri e ily de\·elnp smne of the~\; 
topics that rt·main an active arc<!. ui. ro:;scmdt. 
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HOW TO ESTIMATE TIMESCALES 
IN LARGE SILICIC MAGMA 

CHAMBERS? 

There are several ways to estimate timescales 
related to large silicic magmas. The most impor
tant ones are: 
1 radiometric dating; 
2 modeling diffusive re-equilibration of chemi

cal elements in minerals and glasses; 
3 modeling rates of physical processes (e.g. how 

long does melting, cooling, crystal sedimenta
tion, gas percolation, etc. take in the condi
tions relevant for magmatic systems). 

All three methods are discussed below. 
However, since some aspects (particularly diffu
sion modeling (Costa & Morgan, this volume) and 
U-series disequilibrium dating (Dosseto & Turner, 
this volume)) are treated in-depth in other chap
ters of this book, they will not be discussed in 
excessive details in the following pages. 

RADIOMETRIC DATING 

Due to the time-dependent decay of radioactive 
nuclides (referred to as half-life or decay rate), a 
number of possible techniques to measure times
cales in geological material have been developed 
over the last century (most common are U-Pb, 
U-Th, K-Ar, 'Ar-Ar, 14C). Technically, all pairs of 
radioactive-radiogenic elements (radioactive being 
the unstable parent, and radiogenic the stable 
daughter nuclide) could be used to obtain an age as 
long as the half-life of the parent is commensurate 
with the age of the rock of interest, and that the 
basic tenets of radiometric dating hold: 
• The system has to be chemically closed with 
respect to the elements of interest; 
• The number of daughter atoms since the time 
of closure can be accurately measured (by mass 
spectrometry); and 
• The half-life of the radioactive element is 
known with precision and accuracy. 
In this chapter, we will concentrate on two of the 
most commonly used methods that are particu
larly useful for dating large silicic magma bodies: 

1 39 Ar-40 Ar (related to 4°K-40 Ar dating method) 
and 

2 U-Pb (and 238U-230Th). 
14C can also be used in volcanic areas when the 
emplacement of lava and pyroclastic flows kills 
vegetation, but is limited to very young deposits 
(<-60,000 years). More details on K-Ar, Ar-Ar and 
U-Th-Pb dating methods can be consulted in 
McDougall & Harrison, 1999 and Dickins, 1997. 

Before going further into geochronology, the 
concept of closure temperature needs to be intro
duced. This notion is derived from the fact that 
chemical elements can diffuse through any 
medium and the diffusion rate is highly tempera
ture-dependant. In short, at high temperature, 
radiogenic elements produced by the decay of 
their parents will exchange quickly with the out
side world, and will never accumulate to any 
extent within their mineral host. In contrast, at 
low temperatures, daughter products cannot leave 
the site of decay, and therefore accumulate where 
they are produced. Of course, depending on the 
element and the structure of the host, the tem
perature at which the system starts accumulating 
the radiogenic elements ('when the clock starts 
ticking') varies widely. This temperature at which 
the system becomes closed to diffusive re-equili
bration is referred to as the closure temperature. 

Dodson (1973) provided a commonly used for
mulation to estimate the closure temperature: 

where Tc is the closure temperature; E is the acti
vation energy for diffusion of the daughter iso
tope; R is the gas constant; D 0 is the pre-exponential 
factor of the diffusion; A is a geometric factor; 
dT/dt is the cooling rate; and a is the diffusing 
distance (Dodson, 1973). This equation is valid 
for the following assumptions: 
• A constant cooling rate; 
• T is a mean closure temperature (ignoring 
co~positional variability within the crystal of 
interest); 
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Fig. 10.5 Mean closure temperatures calculated for different minerals and different isotopic systems based on the 
Dodson (1973) equation. Modified from Costa (2008). Calculations were done using a spherical geometry of 500 
microns, except for zircons, for which spheres of 10, 50 and 100 microns were used. Mineral abbreviations: Plag = 

plagioclase, Bt biotite, Hbl =hornblende, San sanidine. See Costa (2008) for source of diffusion coefficients. 

• It considers a finite crystal within an infinitely 
large reservoir characterized by infinitely fast dif
fusion; and 
• Sufficient diffusion has occurred that the whole 
volume of the crystal has been chemically 
modified. 

K-Ar, and its derivative, Ar-Ar, involves the 
noble gas argon as the radiogenic product of 
potassium decay. Since Ar does not fit well and is 
loosely bonded to any mineral or melt structure 
in which it is released, its closure temperature 
is generally low (<650-?00oc but generally below 
400°C for most realistic cooling rates and 
common hosts). Therefore, K-bearing minerals or 
melts remain open to diffusive exchange with sur
roundings above these temperatures (Figure 10.5). 
As silicic magmas reach complete solidification 

!defined as the solidus of the rock) around -650 
to 700°C, the K-Ar and Ar-Ar method can only 
cross its closure temperature during rapid cool-

due to eruption. This method therefore 
records the eruption age of the unit of interest 
(Figure 10.5). 

U-Pb dating behaves in an entirely different 
way than K-Ar and Ar-Ar. U and Ph atoms diffuse 
very slowly in most hosts, including in the min
eral zircon, which is by far the most commonly 
used host for obtaining U-Pb ages in Ju<•!'.u""' 

rocks. Closure temperatures for the U-Pb in zir
con are in excess of 900°C for most geologically 
reasonable conditions (Lee et al., 1997). Therefore, 
ages obtained by this method provide the crystal
lization age of the analysed material, whatever 
happens to it afterwards (e.g. eruption, reheating, 
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exhumation; Figure 10.5). This is the reason 
why zircon yields the oldest ages found on Earth 
(- 4,400Ma; Wilde et al., 2001). 

Most volcanolQgists tend to be drawn towards 
active magmatic provinces, for obvious reasons. 
Therefore, many zircons extracted from silicic 
volcanic rocks are so young that the amount of 
radiogenic Pb produced since crystallization is 
below detection limit (because of the long half-life 
of 2380). Fortunately, there is a second way to 
obtain a crystallization age. By exploiting the fact· 
that 2380 and 206Pb are separated by a series of 
intermediate daughter products (often referred to 
as U-series nuclides, see several chapters in this 
book; Bourdon &. Elliott, this volume; Turner & 
Bourdon, this volume; Dosseto & Turner, this vol
ume), we can use one of the longest-lived U-series 
daughter, 230Th, to obtain a 'disequilibrium' age. 
As zircon crystallizes, it preferentially incorpo
rates U over Th, which causes an initial disequi
librium between these two nuclides. The systems 
moves back to a stable decay chain ('secular equi
librium') in about 5 half-lives of 230Th (-350,000 
years). By knowing the relative abundance of 2380 
and 230Th corrected for their decay rate, an age can 
be obtained. Therefore, U-Pb and 238U-230'fh dating 
of zircons can provide crystallization ages from a 
few thousands of years to the age of the Earth. 

Recurrence intervals between 
supervolcanic eruptions 

The first and most obvious way of estimating the 
recurrence interval between large volcanic erup
tions is to determine their eruption ages using 
K-Ar or Ar-Ar dating. Over the last half century, a 
large number of volcanic units have been dated, 
allowing a statistical estimate of the time between 
eruptions of a given volume (or mass). The VEI 
scale has this recurrence interval built into its 
definition (daily for VEI 1-2 and> 10,000 years for 
VEI 8, Table 10.1 and Figure 10.6). Similar recur
rence intervals can be obtained with the magni
tude scale (see Mason et 2004 for compilation 
of all of the largest known eruptions on Earth). 

A first-order observation that arises from these 
studies is that the longer the volcano waits, the 
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Fig. 1 0.6 Recurrence intervals for eruptions at a given 
Volcanic Explosivity Index (VEI). Data points were gath
ered at different intervals (the more common low VEI 
eruptions gathered on a shorter timescales). Modified 
from 1993. 

bigger the next eruption will be. This inverse cor
relation between size and recurrence interval, 
highlighted already 40 years ago (Smith, 1979), is 
a common feature of natural systems; earthquake 
magnitude and sizes of meteorite impact display 
the same trend. In detail, however, there are 
significant variations in space and time in vol
canic provinces; The Taupo Volcanic zone (New 
Zealand) has been generating {and erupting) a lot 
of silicic magmas over the last few hundreds of 
thousands of years (often referred to as 'flare-up' 
mode), while others areas (e.g. Aegean Arc, 
Greece) are much less productive despite produc
ing the same magma types, and being in a similar 
tectonic (both the Taupo Volcanic Zone 
and the Aegean Arc are subduction zones set in 
an highly extensional area of continental ernst). 
This variation is exemplified by the range in 

-------·---·--------·-·-··-· -----------------------------~-----·-------
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Table 10.2 Eruption ages of the main ignimbrites of the Oligocene Central San Juan 
caldera cluster (Southern Rocky Mountain Volcanic Field, Colorado, USA) (from Lipman 
& Mcintosh, 2008) 

Approximate volume (km3
) Eruption Age (Ma) by Ar-Ar data 

Masonic park Tuff 500 
Fish Canyon Tuff 5000 
Carpenter Ridge Tuff 1000 
Blue Creek Tuff 250 
Wason Park Tuff 500 
Rat Creek Tuff 150 
Cebolla Creek Tuff 250 
Nelson Mountain Tuff 500 
Snowshoe Mountain Tuff 500 

rhyolite magma productivity around the world 
that spans 3 orders of magnitude (from I0-5-10-2 

km3/yr, with a global average for silicic magmas 
of 4 1.4 x IQ-3 km3/yr; White et al., 2006), most 
likely related to variations in major geodynami
cal parameters, such as mantle productivity and 
convergence rate (Hughes & Mahood, 2008). 

Recurrence intervals calculated on the basis of 
dating multiple eruptions of a given magnitude 
worldwide has proved very useful in providing a 
global statistical average. But can we estimate 
how often a given volcano erupts in a given time 
period? For small eruptions on an active volcano 
(e.g. Hawaiian Islands, USA; Stromboli, Italy; 
Santiaguito, Guatemala), this can be assessed 
by recording the activity in the course of a 
human lifetime (or documented eruptive history). 
However, for supervolcanoes, we need to find an 
area that has witnessed numerous large eruptions 
and obtain precise eruption ages for all of them. 

Several areas around the world have emitted 
multiple supereruptions ('multicyclic caldera 
complexes'). The youngest such areas are found in 
the North Island of New Zealand (Taupo Volcanic 
ZoneL in Sumatra (Toba caldera), in the Central 
Andes (Altiplano Puna Ridge Complex) and in the 
western USA (Long Valley, Jemez Mountains, 
Yellowstone). In the course of our planet's evolu
tion, there were many more such areas, some 
with nearly ten VEl 7-8 eruptions occurring in the 
same place over just a few millions of years. The 

-28.6 
28.03 
27.55 

-27.4 
27.38 
26.91 
26.90 
26.90 
26.87 

southwestern USA (Colorado, Utah, Nevada, New 
Mexico, Arizona) has eh.lJerienced such an extreme 
event in the early to mid-Tertiary (around 
35-25Ma ago). Areas such as the Southern Rocky 
Mountain Volcanic Field have emitted dozens of 
large pyroclastic units from focalized areas ('cal
dera clusters'). For example, the Central San Juan 
caldera cluster has produced at least nine deposits 
larger than 100 km3 in <2 Ma (Lipman & Mcintosh, 
2008i Table 10.2). The recurrence interval in this 
area only is about a 1 in every 200,000 years, 
including the largest supervolcanic unit recorded 
thus far (the 5,000km3 Fish Canyon Tuff; Lipman, 
2000; Mason et al., 2004). 

Magma residence times 

Another way to obtain information about the 
timescale related to the construction and lifespan 
of a magma chamber in the crust is to combine 
ages obtained by Ar-Ar and U-Th-Pb on the same 
unit. As Ar-Ar is providing an eruption age and the 
U-Pb the crystallization age of zircon, this compar
ison allows us to define the different zircon popula
tions within a magma, and estimate how long 
zircon crystals have been growing within a given 
reservoir. This is known as the 'residence time' of 
the magma body close to or above its solidus. 

Due to the robustness of zircon to age reset
ting, it has been known for a long time that 
'xenocrysts' (crystals that are foreign to the 
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Table 1 0.3 Examples of silicic magma bodies and their residence times 

Unit name Volcanic Province 

Fish Canyon Tuff Southern Rock Mountain 

Volcanic Field 

Kos Plateau Tuff South Aegean Arc 

Young Toba Tuff Sumatra 

Huckleberry Ridge Yellowstone 

Tuff 

Whakamaru Taupo 

ignimbrite 

Oruanui Ignimbrite Taupo 

Unzen 1991 Unzen 

La Pacana Altiplano Puna 

ignimbrite Ridge Complex 

Bishop Tuff long Valley 

Ammonia Tank Tuff SW Nevada volcanic field 

Volume 

5,000km 3 

>60km3 

-2,800km3 

-2,500km 3 

-1,000km 3 

530km 3 

<1km 3 

2,700km 3 

600km3 

900km3 

Eruption age 

28.03Ma 

0.161 Ma 

0.075Ma 

2.0Ma 

0.34Ma 

0.026Ma 

0.00001 Ma 

-4Ma 

0.76Ma 

11.45 Ma 

Magma residence time 

>300-700ky 

>200-300ky 

>400ky 

>200ky 

>250ky 

>300ky 

> 100ky 

>500-750 ky 

> 100-350 ky 

>1500ky 

Residence time is estimated here using the oldest co-magmatic zircon (or zircon area for in-situ technique) dated in a given unit (oldest 

antecryst) and subtracting the eruption age given by Ar-Ar. When dating multiple zircons, the age distribution frequently forms peaks 

at certain times, indicating periods on higher zircon preservation and/or crystallization. See Costa, 2008 for list of references. 

magma they are in, inherited from older crustal 
lithologies) are commonly found in magmatic 
rocks. This recycling of older crystals has proved 
to be problematic to accurately constrain magma 
residence time with bulk zircon ages (involving 
many different crystals) are used. However, with 
the advent of in-situ dating techniques 
[Secondary Ion Microprobe Spectrometry- SIMS 
and Laser Ablation Inductively Coupled Plasma 
Mass Spectrometry - LA-ICPMS), this problem 
has been reduced. In-situ techniques permit the 
determination of ages within parts of zircon 
crystals as small as .30 to 40 microns in diame
ter. Therefore, zircon crystals (or cores of crys
tals) significantly ·older than the period of 
magmatism under investigation can generally 
be isolated and removed from the zircon popula
tion of interest, thus providing the true 'resi
dence time'. 

Many volcanic units from around the world, 
encompassing most large igneous provinces active 
today (Taupo Volcanic Zone, Toba, Yellowstone, 
Long Valley Caldera, Aegean Arc, Coso Volcanic 
Field) have now been dated using both Ar-Ar (on 
multiple mineral phases) and U-Th-Pb on zircons. 

These latter show a surprisingly large range of 
crystallization ages, several hundreds of thousands 
to millions of years older than the eruption age 
(Simonet al., 2008; Bindeman et al., 2006; Costa, 
2008; Reid, 2008; Table 10.3). Some single zircon 
crystals even show >200,000 years of growth 
history (Brown &. Fletcher; 1999; Figure 10.7). 
These co-genetic zircon crystals would be typi
cally called 'phenocrysts', but as some of them 
are several hundred of thousands of years older 
than the eruption age, a new term to defining 
them has appeared in the literature; antecryst I= 
old, recycled phenocryst; Charlier et al., 2005; 
Miller et al., 2007). 

Interestingly, small volume volcanic units that 
have both U-Th-Pb ages on zircons and known 
eruption ages (either through Ar-Ar dating or his
torical records; Mt Unzen; Sano et al., 2002, Coso 
Volcanic Fieldi Miller &. Wooden, 2004, Mt St 
Helens; Claiborne et al., 2008) also show several 
hundreds of thousands of years of magma resi
dence time. As stressed by Costa (2008), there is 
no clear positive correlation between erupted vol
ume and magma residence time on the basis of 
zircon U-Th-Pb and Ar-Ar dating; small and large 
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Fig. 10.7 In-situ U-.Pb dating on zircons. Note that the zircons show evidence of continuous (within the error of 
individual analysis) crystallization over several hundred thousands years right up to the time of eruption. Modified 
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units carry zircons with approximately the same 
age range. However, whilst residence times and 
recurrence intervals are of similar magnitude for 
very large eruptions (on the order of 100,000 
years), recurrence intervals are much shorter for 
small eruptionsi for example, Mt St Helens has 
erupted over 50 times in the last 4,000 years 
(Mullineaux & Crandell, 1981), leading to an aver
age of one eruption every -100 years and a fairly 
significant volume of erupted magma over this 
millennium timescale. In fact, when comparing 
time-averaged volumetric volcanic output rates 
between small and large eruptions, the number 
are actually strikingly similar (-4-5 x I0-3 km3/yri 
see Lipman, 2007 for supervolcanoes and White 
et al., 2006 for rhyolites in arcs). Therefore, zircon 
crystallization ages date the growth of the mag
matic plumbing system, but are poor indicators 
to estimate recurrence intervals for small erup
tions. Parameters other than magma output rates 
must play a role on whether a volcanic eruption 
will be small or large (Jellinek & DePaolo, 2003), 

but our understanding of eruption triggers is still 
limited, and more work is needed in this area. 

Large silicic magma bodies: the plutonic 
perspective 

Many silicic plutonic suites have also been dated 
using the U-Pb and Ar-Ar techniques. As for vol
canic rocks, both sets of ages can be compared, 
although the interpretation of K-Ar and Ar-Ar 
results on plutons differs from those in volcanic 
rocks. Plutons crystallize to completion and cool 
to surface temperatures in millions of years instead 
of in a few days to months for erupted units. 
Cooling rate obviously proceeds at a much slower 
pace in plutons than in volcanic rocks and closure 
temperatures of the different minerals are reached 
sequentially (Figure 10.5). By dating feldspars, 
biotite and hornblende using the Ar-Ar technique, 
we can actually do thermochronology (= deter
mine at what age the pluton reached the closure 
temperature of the different minerals), but the 
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Ar-Ar technique does not record a specific crystal
lization event in the lifetime of the pluton. 

Despite the fact that the Ar-Ar dates do not have 
exactly the same meaning in plutonic and vol
canic rocks (cooling vs eruption ages), magma resi
dence times can also be estimated for the plutonic 
case. A major observation emerging from these 
studies is that pluton construction is much longer 
(2':10Ma in some cases; Coleman et al., 2004; 
Matzel et al., 2006; Miller et al., 2007; Walker 
et al., 2007) than the life of a single 'eruptible' 
body. This 107 years timescale is comparable with 
the lifespan of large volcanic provinces (Oligocene 
Southern Rocky Mountain Volcanic field, 
Altiplano Puna Ridge Complex, Table 10.2 and de 
Silva et al., 2006), but longer than most residence 
times obtained for a single volcanic unit. Plutonic 
zircon age distribution clusters in pulses (as do 
volcanic ones), indicating that they experienced 
periods of intense zircon crystallization (perhaps 
immediately following periods of magma 
replenishment), separated by stages of quiescence. 
It is also likely that plutonic rocks significantly 
outweigh their volcanic counterparts (high 
plutonic:volcanic ratios) during the waning stages 
of any magmatic provinces; warm crustal condi
tions and/or lower magma fluxes would favor 
preservation of plutonic bodies (J ellinek & DePaolo 
2003; Coleman et al., 2004; de Silva et al., 2006; 
Bachmann et al., 2007b; Lipman, 2007). Therefore, 
we should expect the plutonic record to show 
much longer residence times, particularly biased 
towards late-stage magmatic activity, whilst 
volcanic rocks mostly carry information about the 
high flux period of a given magmatic episode. 

MODELING DIFFUSIVE 
RE-EQUILIBRATION OF 

CHEMICAL ELEMENTS IN 
MINERALS AND GLASSES 

Many crystals growing from magmas act as 'tape 
recorders' of changing magmatic conditions. 
They add layers at their periphery that lock in the 
composition of their environment. When the 
environment rapidly changes (in P, T and/or com-

position), for example following a magma mixing 
event, any crystals that were growing in the ini
tial environment have to re-adapt to the new con
ditions. Very commonly, diffusion profiles defined 
by element concentrations will be preserved in 
the minerals. They will carry time information 
that can be quantified if the diffusion coefficient 
of the element of interest in accurately known. 

By analysing compositional variations along 
core-to-rim traverses in single crystals by in-situ 
geochemical analyses (electron microprobe, SIMS 
or LA-ICPMS), we can obtain high-resolution pro
files of how different element changes as a func
tion of distance to the rim (Figure 10.8, Panel A). 
Once such profiles are gathered, modeling tech
niques can be used to estimate the time since the 
crystal was emplaced into its new environment 
(Figure 10.8, Panel A). Diffusion timescales vary 
by several orders of magnitude, depending on the 
element used in the modeling (e.g. Li diffuse very 
fast, while Ba is much slower; Turner & Costa, 
2007). This technique has also been applied to 
supervolcanic deposits, and while some processes 
still happen fast in large chambers (pre-eruptive 
reheating, Figure 10.8 Panel B; Wark et al., 2oon 
the longest diffusive timescales (Ba in sanidine; 
>100;000 years; Morgan & Blake, 2006) are in 
agreement with crystal residence times in mag
mas measured with radiometric techniques. 

MODELING TIME-DEPENDANT 
PHYSICAL PROCESSES 

Melting (within the mantle or the crust), cooling 
of igneous bodies, magma extraction and trans
port within the crust all take time and constrain 
the rate of accumulation of large silicic magma 
bodies. Can we estimate timescales for these dif
ferent processes that occur in the lifetime of 
magmas? 

As laid out by Petford et al. (2000), the lifespan 
of magmas can be divided into four stages: 
1 formation (melting); 
2 segregation from their source; 
3 transport to their storage area; and 
4 emplacement into their reservoir. 
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of these processes also involve some complex 
coupling (variables are not independent of each 
others), inducing either positive or negative 
feedback and non-linear responses. A magma 
rising up a volcanic conduit is an example of 
this complex suite of coupling. Degassing and 
exsolution of bubbles will lower the bulk magm~ 
density, increasing its buoyancy and fostering 
mobility. However, bubble exsolution can also 
trigger crystallization (Sparks et al., 1994; 
Blundy & Cashman, 2008) and consequently a 
significant viscosity increase of the liquid-crys
tal mixture, reducing its mobility. This high
lights one of the biggest challenges for the future 
in understanding the inner workings of our 
planet: how to improve our knowledge on 
magma behavior from their source zones to the 
surface by better constraining the physical proc
esses at play, and the system parameters that 
control the rates at which these processes occur. 
In particular, we need to work on how mul
tiphase systems, such as magmas (containing 
multiple dense crystalline phases, high viscos
ity liquids and low density, low viscosity bub-

Fig. 1 0.9 Range of timescales for 
different physical processes that 
occur in large silicic magma bod
ies. See Spera, 1980; Sparks et al., 
1984; Bergantz & Ni, 1999; Petford 
et al., 2000; Bachmann & Bergantz, 
2004, 2006; Ruprecht et al., 2008 for 
references. 

bles) evolve chemically and mechanically as 
they form, ascend, mix and erupt. 

CONCLUDING REMARKS: 
HOW SOON WILL THE NEXT 

SUPERERUPTION OCCUR? 
THE CASE OF YELLOWSTONE 

As mentioned in this chapter's introduction, a 
VEl 7 or 8 event could seriously impact life on 
Earth. Despite the effort of a large community of 
scientists, the question of when the next erup
tion will happen remains unsolved. Let us use 
Yellowstone as an example to see what we know 
and what we do not know. We obviously have a 
good documentation and understanding of its 
recent history (see multiple scientific reports, 
including Christiansen, 1984, 2001; Hildreth 
et al., 1991; Gansecki et al., 1996; Miller & Smith, 
1999; Vazquez & Reid, 2002; Werner & Brantley, 
2003; Brantley et al., 2004; Husen et al., 2004; 
Lowenstern, 2005; Nash et al., 2006; Bindeman 
et al., 2008; Christiansen & McCurry, 2008). The 
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Plio-Pleistocene focus of activity in northwestern 
Wyoming produced three large caldera-forming 
events since 2.1 Ma, with a total erupted rhyolite 
for these three units on the order of 3,500 to 
4,000km3 . The last caldera-forming eruption, 
around 640,000 years ago (Lava Creek Tuff) out
poured -1,000km3 of crystal-poor rhyolite. It has 
since been erupting >500 km3 of rhyolitic lavas 
(the youngest being -70,000 years old). Focusing 
on the last 640,000 years, the area has produced 
on average 2.5 x lQ-3 km3/yr of rhyolite, which is 
barely lower than the worldwide average for rhy
olites (-4 ± 1.4 x lQ-3 km3/yr). On the basis of the 
last three caldera-forming eruptions, Yellowstone 
has averaged -700,000 years between major erup
tive events. We could therefore expect one within 
60,000 years, if this average was meaningful. 
Unfortunately though, this number is much too 
imprecise compared to a typical human times
cale, and we should rely on other arguments to 
determine the state of the magma chamber. 

Several observations leave little doubts that 
Yellowstone will erupt again some time in the 
future. Recent basaltic eruptions have only 
appeared at the periphery of the Yellowstone vol
canic area (Hildreth et al., 1991), suggesting that 
a large, low density magma body in the upper 
crust blocks the ascent of the more dense, basal
tic magma within the footprint of the caldera. 
The caldera floor is still 'breathing' (moving up 
and down;' Husen et al., 2004), while massive 
degassing is underway (-45,000 tons/day of C0

2
; 

Werner & Brantley, 2003). We know it is active, 
that there is magma beneath the surface, and that 
it can generate· very large volume eruptions. 
However, determining the timing of the next 
cataclysmic volcanic eruption still defies our pre
dicting capabilities. 

Since no silicic magma has reached the surface 
for a long time (>70,000 years), and assuming that 
the productivity has not waned since the last cal
dera eruption, it is likely that there is a signifi
cant pool of rhyolitic magma in the upper crust at 
this time. Unfortunately, these bodies are notori
ously uifficult to delineate precisely with seismic 
imaging systems (Miller & Smith, 1999; Zandt 
et al., 2003; Lees, 2007), and we remain poorly 

informed on the present amount and geometry of 
the eruptible pool of magma beneath in the area. 

Closely monitoring the whole Yellowstone cal
dera area (ground deformation, degassing rate, 
hydrothermal activity, etc.) is of prime impor
tance, a task that the Yellowstone Volcano 
Observatory is rigorously fulfilling (http:/ j 
volcanoes.usgs.govjyvoj). Future research should 
also focus on studying units that predates other 
large caldera-forming eruptions anywhere on 
Earth, and compare the results with the most 
recent eruptions at Yellowstone. For example, 
knowing whether the magmatic column is on a 
·heating or cooling trend might be one of the most 
important pieces of information scientists could 
gather about the future state of a given system. 
Adding heat and juvenile volatile-rich magmas 
into the upper crustal reservoirs will tend to make 
the reservoirs larger (Jellinek & DePaolo, 2003) 
and more eruptible (Keller, 1969; Bachmann et al., 
2002; Wark et al., 2007; Molloy et al., 2008). 
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FURTHER READING 

February 2008 issue of Elements (http://elements.geo 
scienceworld.org/content/vol4/issuel/) about many 
aspects of supervolcanoes. 
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Reviews articles of Fidel Costa and Mary Reid, both 
published in 2008 (see references list) for more cover
age on timescales of supereruptions. 

Lowenstern JB. 2005. Truth, fiction and everything in 
between at Yellowstone. Geotimes (http://www.agi 
web.org/geotimes/june05/feature_supervolcano.html) 

Bindeman I. 2006. The Secrets of Supervolcanoes. Scien
tific American (http:/ /www.scientificamerican.com/ 
article.dm?id=the-secrets-of-supervolca#comments) 

See the following websites on restless calderas 
(potential sites for future supereruptions): Yellowstone 
(http:/ /volcanoes.usgs.gov/yvo/); Long Valley, CA 
(http:/ /lvo.wr.usgs.gov/); Campi Flegrei caldera, Naples 

(http:/ /www.wovo.org/01 0 1_02.html). 
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SUMMARY 

Magma degassing exerts a major control on the 
nature of volcanic eruptions. As volatile-rich 
magma ascends through the crust (or crystal
lizes), gas bubbles form by exsolution of vola
tile components, such as H20 and C02 from the 
melt. These gas bubbles lend buoyancy to 
magma, but the exsolution of volatiles also 
results in increases in both density and viscos-

of the melt, as well as in crystallization. 
Volatile exsolution and gas segregation of 
exsolved gas thus have profound consequences 
for magma ascent and eruption. Rapid magma 
ascent may result in limited volatile exsolution 
and segregation and potentially explosive 
eruption; more efficient gas loss, during slow 
magma ascent essentially defuses a pending 
eruption. Segregation occurs by a variety of 
mechanisms and ·over a range of timescales, 
from seconds to (in excess of) a thousand years. 
This chapter addresses the rates of magma 
degassing from volatile exsolution, through 
segregation to emission. 

Timescales of Magmatic Processes: From Core to 
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THE IMPORTANCE OF 
DEGASSING 

Volcanic eruptions take many forms, from qui
etly effusive lava flows (e.g. Hawaii) to violent, 
explosive events that affect the whole planet 
(e.g. Pinatubo). Despite the tremendous effort in 
understanding volcanic eruptions and close mon
itoring of a number of volcanoes, in many cases 
eruptions still take us by surprise. However, a 
number of key parameters that influence the how 
and when of volcanic eruptions have been identi
fied; namely, the amount of dissolved gas that a 
volcanic magma carries, the rate at which the 
magma ascends through the crust and the inter
actions between processes such as degassing and 
crystallization that occur throughout ascent. 

During magma ascent, dissolved volatile spe
cies, notably H,O and CO?, exsolve to form gas 
bubbles. Gas bubbles lend b~10yancy to the magma 
and can speed up its ascent, but escape of gas 
results in a less buoyant and more viscous resid
ual magma. Moreover, volatile exsolution can 
promote crystallization of anhydrous phases, 
which not only further increases its viscosity, but 
drives additional exsolution by concentrating 
volatile species in the melt phase. The extent to 
which magma is able to lose its volatiles during 
ascent largely determines eruptive style. If gas 
loss during ascent is inefficient, ascending magma 
will become progressively more bubble rich until 
it fragments explosively. The rate of gas loss from 
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the magma in relation to the ascent rate is thus 
crucial to volcanic hazard assessment. 

Magma degassing is not solely a~sociated with 
eruption however, and there are many examples of 
degassing without eruption. Etna and Stromboli 
are classic examples of 'persistently degassing vol
canoes' that discharge considerable quantities of 
gas into the atmosphere with little or no associated 
magma. At many volcanoes, gas plumes can be 
observed preceding eruption and in between erup
tions, suggesting that volcanic gasses can travel 
through and escape from the magma (Stix et al., 
1993; Edmonds et al., 2003). In other words, sub
surface magma may not only contain bubbles, but 
can also be permeable to gas flow. Observations of 
passively degassing volcanoes and radionuclide 
data, discussed in this chapter, suggest that degas
sing can occur decades or longer prior to eruption. 

The continuing release of volcanic gasses over 
the lifetime of a volcano is in part responsible for 
the flux of metals to hydrothermal systems. 
Longevity of hydrothermal systems can result in 
the formation of ore deposits by a combination of 
leaching and deposition by heated fluids. The age 
of hydrothermal circulation cells is dependent 
upon the heat provided by the cooling intrusion 
of magma. Although single intrusions will cool 
rapidly (e.g. in hundreds of years), periodic 
recharge with new magma can keep large regions 
partially molten for millions of years, developing 
crustal ho'tzones (Annen & Sparks, 2002). The 
extent to which hydrothermal ore bodies form, 
and their composition, depends on the nature of 
gases being exsolved from magmas and the ability 
of these gases to dissolve and transport metals as 
well as an efficient precipitation mechanism. 

THE FIRST STEP: MAKING 
A BUBBLE 

Solubility 

Volcanoes located in subduction-related settings 
are generally richer in volatiles, particularly H

2
0, 

than those in other settings, because of fluid 
contributions from the subducting slab. This is 

the main reason for the more common explosive 
nature of volcanoes in subduction zone settings. 
Estimates of the volatile concentrations in 
mantle-derived magma form the starting point of 
degassing studies. Fischer & Marty (2005) con
strained the concentrations of H

2
0 and C0

2 
in 

mantle-derived undegassed arc magma by using 
the unique origin of 3He in the asthenospheric 
mantle. By comparing the 3He flux at arc volca
noes with 3He in the solid mantle and the volatile 
fluxes, they estimate that mantle-derived melts 
have -8 to 16wt.% H

2
0 and -3,500 to 7,600ppm 

C02 prior to differentiation and degassing. 
Volatiles, in particular H20, can thus be major 
constituents of pre-eruptive magma. Any 
crystallization of magma within the crust will 
only serve to increase volatile contents further. 
However, a significant fraction of the initial vola
tile budget is lost during ascent and cooling, 
because their volatile solubility, the maximum 
amount of that component that can be dissolved 
within the melt under a certain set of P, T, and 
compositional conditions, is much lower at the 
Earth's surface than at depth. 

The solubility of H
2
0 and C0

2
, as well as for a 

range of other species (i.e. S, Cl and F), has been 
determined experimentally for various composi
tions. The main factors controlling solubility are 
pressure and to a lesser extent oxygen fugacity, 
temperature and composition of the melt. The 
strong dependence of volatile solubility on pres
sure occurs because the molar volume of the gas
eous form is so much larger than the molar 
volume of the dissolved species. As a conse
quence, magma ascent induces saturation of one 
or more species and formation of gas bubbles. 
The depth at which degassing starts depends on 
the initial concentration of volatiles and on the 
solubility of the species. Some species, such as 
the noble gases, have very low solubilities and 
could thus be expected to exsolve at a very early 
stage in the degassing process. However, such 
species are usually not present in sufficient 
quantities to form bubbles of their own and 
require another species to saturate, before 
migrating ihto the gas phase. Once magma 
reaches saturation in one of the more abundant 
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tions within volatile-saturated rhyolitic and basaltic 
melt at two different temperatures after Papale 
et al., 2006]. 

volatile usually H20, C02 or S, gas bub
bles form and the magma is referred to as being 
fluid- or vapor-saturated. The gas phase is how
ever always a mixture of volatile species and 
never just pure H

2
0 or C0

2
• 

H20 is dissolved in magma as OH- and molecu
lar H20, C02 as carbonate anions and molecular 
C02 (Silver et al., 1990; Fine & Stolper, 1986). 
H

2
0 solubility correlates positively with pressure 

and negatively with temperature, with the 
dependence on pressure being stronger than that 
on temperature. The solubilities of H

2
0 and C0

2 

also have significant compositional dependence 
(Figure 11.1). For a recent review of experimental 

data and modeling of the solubility of H
2
0 and 

C01_, see Moore (2008). Because H
2
0 and C0

2 
are 

the main volatile constituents and the partial 
pressures of other components are relatively 

it is possible to calculate at what pressure 
magma with specific H

2
0 and C0

2 
concentra

tions would reach saturation with a multi-com
ponent gas phase using solubility models. The 
most widely used models for basaltic and rhy
olitic magmas are by Newman & Lowenstem 
(2002) and by Papale et al. (2006). These take 
account of the compositional dependence of H

2
0 

and C02 solubility and the non-ideal mixing of 
these species in the vapor phase. The latter factor 
accounts for the curvature of the saturation 
curves shown in Figure 11. L 

Bubble formation 

Bubble nucleation 

Once a melt reaches saturation in one or more 
volatile components1 by a change in pressure, 
temperature or composition, these will exsolve 
to form a separate gas phase, such as a gas bubble. 
Other volatile species will then partition between 
the melt and the exsolved gas bubble. Bubble for
mation is the critical first step for most degassing 
processes; however, it is far from a straightfor
ward, instantaneous appearance. 

A gas phase is formed when enough volatile 
molecules have clustered together, which lowers 
the Helmholtz free energy of the system [F). 
Formation of a new phase requires an interface, 
separating the gas and melt. This interface is a 
structural mismatch and requires energy, often 
referred to as surface tension (a), to form. The 
increased energy from surface tension can over
whelm the lowered free energy of clustered gas 
molecules when such clusters are small, leading 
to destruction of the cluster, preventing nuclea
tion. If enough gas molecules are in the cluster 
however, the lowered free energy of the cluster, 
which varies with the volume of the cluster (-tl, 
where r is cluster radius), can overcome surface 
tension, which increases only with the surface area 
of the cluster (-r2

), and bubble nucleation results. 
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If nuclei are assumed to form randomly and obey 
statistical laws, that is, nucleate homogeneously, 
then the probability of formation is proportional to 
exp(-LiF/kT), where L1F is the resulting change in 
free energy from nucleation, k is the Boltzmann 
constant, and T is temperature. Assuming that 
nuclei are spherical, the rate of bubble nucleation 
(J) then equals: 

{
0
exp[(-16ncfl)/(3kT LVJ2)] 

where the driving force for (super)saturation is the 
change in pressure {L\P). The pre-exponential term 
(!

0
) takes into account kinetic considerations, and is 

often related in part to the number of molecules 
present, their diffusivity, and their separation 
(Hurwitz &.. Navon, 1994). Melt viscosity may also 
play a role in nucleation by inhibiting melt defor
mation to form an interface (Gardner, 2007). 
Importantly, even orders of magnitude differences 
in {

0 
have minor impact of!, compared to relatively 

small changes in cr. For example, supersaturations 
needed to produce a given nucleation rate differ by 
only -lOMPa when la changes by ten orders of 
magnitude from 1028 to 1038, whereas a five-fold 
increase in cr from 0.02 to O.lN m·1, increases the 
critical L\P from 10 to 120MPa (Navon &.. 
Lyakhovsky, 1998). For cr > 0.1 Nm-1, supersatura
tions in excess of lSOMPa are needed to trigger 
homogeneous nucleation. Despite the impact that 
cr has on nucleation kinetics, measured values for cr 
exist only for high-silica rhyolite, dacite and pho
nolite. These indicate that less siliceous and/or 
more hydrous melts have lower values of cr. 
Interestingly, the relatively high surface tensions of 
hydrous rhyolites mean that water bubbles cannot 
nucleate homogeneously unless L\P exceeds 120 to 
lSOMPa, implying that explosive eruptions of rhy
olites with less -Swt.% water are impossible. 

In some cases, gas bubbles can nucleate at 
lower supersaturation in the presence of impuri
ties or particles. Bubbles can nucleate on, for 
example, crystals because the presence of the 
crystal-bubble surface lowers the overall bulk 
surface tension. Geometrically, such so-called 
heterogeneous nucleation can be described by a 

wetting angle, which is the angle between the 
tangent of the bubble and the substrate. In the 
case of silicate melts, some crystals appear to act 
as better nucleation substrates than others. 
Magnetite is an especially good substrate, 
lowering critical supersaturation to below 5 MPa 
(Hurwitz &.. Navon, 19941 Gardner, 2007). 
Hematite can also wet water bubbles, more so at 
their ends than along their lengths, although 
greater supersaturations are needed than those 
for magnetite (Gardner, 2007). Plagioclase, on the 
other hand, appears to not wet water bubbles. In 
addition to the presence of crystals, heterogene
ous nucleation may be more common, because 
supersaturation is likely to increase gradually 
with cooling and crystallization. 

The number of bubbles that actually nucleate 
is often limited because once a bubble nucleates, 
more gas molecules can diffuse into that bubble, 
lowering the supersaturation of the melt and sup
pressing further nucleation (Toramaru1 1989). 
Indeed, the number (and size distribution) of bub
bles recorded in volcanic pumice as vesicles is 
often significantly different than would be gener
ated by either pure homogeneous or heterogene
ous nucleation (Mourtada-Bonnefoi &.. Laporte, 
2004). One potential way that bubble numbers 
could increase is if a second (or multiple) nuclea
tion event is triggered in the magma. Such sec
ondary events could result from magma ascending 
fast enough that supersaturation increases faster 
than gas molecules are able to diffuse to existing 
bubbles (Massol &.. Koyaguchi, 2005). 

Bubble growth 

Once a bubble nucleus is formed it can continue 
to grow by addition of more gas molecules. Gas 
molecules are added to the bubble by evapora
tion from the surface of the bubble. Evaporation 
locally depletes the melt, setting up a concentra
tion gradient that drives further diffusion of gas 
towards the bubble. Bubble growth is thus con
trolled by gas diffusivity through the melt, which 
is favored by high gas concentrations, high tem
peratures and low-silica melts (Watson, 1994). 
Bubbles can additionally increase in size by 
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expansion in response to a drop in confining 
pressure. Growth by expansion alone is only 
important at relatively low pressures, and 
hence in the final stages of magma degas
sing (Proussevitch et al., 1993 ). All bubble 
growth requires the surrounding melt to deform, 
hence the viscosity of that melt can limit the 
rate of bubble growth. Very stiff melts can in fact 
viscously quench bubble growth, depending on 
the rate at which pressure changes (Thomas 
et al., 1993). Given reasonable estimates for 
ascent rates explosive eruptions, 
viscous quenching is only important when vis
cosity exceeds -109 Pa s (Gardner et al., 2000). 
Because lower water contents reduce diffusivity 
and stiffen silicate melts, bubble growth should 
slow as degassing progresses. Mitigating those 

effects however, is the decreasing dis
tance between bubbles as they grow. Hence, 
decompression rates must increase as degassing 
progresses in order for silicate melt to supersatu
rate in gas during eruptions. Finally, when pres
sure changes, a finite amount of gas exsolves 
from the melt, which then diffuses towards the 
nearest bubbles. The number of bubbles present 
thus plays an important, and probably dominant, 
role in determining the resulting bubble sizes 
!Gardner et al., 1999). 

OPEN AND CLOSED SYSTEM 
DEGASSING 

Degassing paths 

Once gas is exsolved it can either stay with the 
magma1 'closed system degassing', or escape 
from the magma, 'open system 
During closed system degassing, the gas main
tains equilibrium with the melt during ascent, 
whereas during open system degassing, gas is 
constantly extracted from the melt. In most 
cases, however, degassing occurs by a combina
tion of closed- and open-system processes. Initial 
'"''IS'"''"'u5 occurs essentially as a closed system, 
but once a critical gas volume (or threshold per
meability) is reached, gas is able to segregate. For 

example, gas bubbles need to have either a suffi
cient volume or sufficient time to separate from 
the melt. Open system may result in 
fluxing gases through overlying magma, where 
this gas buffers the melt composition (Rust 
eL al., 2004]. 

The evolution of volatile concentrations 
within the melt can be tracked through melt 
inclusions (for recent reviews, see Blundy &. 
Cashman, 2008; Metrich &. Wallace, 2008). 
Melt inclusions are quenched droplets of sili
cate melt, preserved as glassy inclusions within 
volcanic phenocrysts (Figure 11.2). Each melt 
inclusion records the C02 and H20 concentra
tion of the melt at the time it was sealed off 
physically from the groundmass melt. Thus, 
comparing volatile concentrations in melt 
inclusions trapped at different depths and times 
yields an insight into the degassing history of a 
magma batch. Figure 11.3 shows how Hp and 
C0

2 
concentrations change with different 

degassing scenarios. During open system degas
sing, the C02 concentration of the melt 
decreases while the H 20 concentration remains 
essentially constant until the melt reaches sat
uration pressure for pure H20. Closed-system 
degassing results in greater H20 exsolution at 
any given pressure. closed system degas
sing, the magma coexists with an exsolved gas 

which buffers the melt concentration. 
'-'""'•"•utJ•'-" of both open and closed system degas
sing pathways have been observed, but most 
melt inclusion datasets do not follow a single 
degassing trend. Blundy &. Cashman !2008) 
demonstrate the potential variation in H 20 
and C0

2 
within a magma chamber, taking 

into account variations in temperature and 
crystallinity. 

Magma storage pressures can be estimated 
from the volatile contents of melt inclusions 
(Wallace et al., 1999; Schmitt, 2001; Liu et al., 
2006) provided there is evidence that the melt 
was volatile-saturated, i.e. it had bubbles, at the 
time the melt inclusions became sealed. The 
only unequivocal evidence for volatile satura
tion in a magma containing H20 and C02 is an 
inverse correlation between C02 content of melt 
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Many melt inclusions contain crystals, some of 
which m>ty have been entrapped with the melt, 
but others have crystallized later from the 
enclosed inclusion. Crystallization of anhydrous 
phases in particular will increase the H"O and 
co" concentrations of the melt. -
~other consideration when interpreting inclu

sion data is. that for melt inclusions to be 
entrapped, crystallization has to take 
Estimates of volatile concentrations in arc man
de for example are higher than maximum con
centrations of volatiles observed in melt 
inclusions of primitive olivine crystals. Thus 
substantial loss of volatiles is likely to occur prior 
to the onset of crystallization. The next section 
shows that degassing itself promotes crystalliza
tion. Magma degassing and crystallization are 
intimately linked. 

Degassing-induced crystallization 

Dissolved HP has a dramatic effect on crystalli
zation temperatures of magmas, reducing the liq
uidus temperature considerably, even at low 
concentrations. Hp similarly has a pronounced 
effect on phase relations, inhibiting the satura
tion of some minerals, such as plagioclase, while 
favoring the crystallization of others, such as 
amphibole or biotite. Figure 11.4 shows the Hp, 
saturated phase relations of Mt St Helens dacite, 

compiled from published experimental data by 
Blundy & Cashman (2001). 

As H20csaturated magma undergoes degassing 
due to decompression, it will crystallize due to 
the increase in liquidus temperature with decreas
ing pressure. This crystallization can be accom, 
plished without any drop in temperature and 
therefore can operate on much faster timescales 
than cooling-driven crystallization, which 
requires the relative slow loss of heat through the 
wall rocks of the magma body (Blundy & 
Cashman, 2005). In fact, Blundy et al. (2006) show 
that in a system undergoing decompression
driven crystallization, the magma temperature 
can rise due to the release of latent heat of crys, 
tallization, leading to the apparent paradox that a 
magma undergoes both crystallization and heat
ing as it ascends. 

The tendency ofascending magma to crystal
lize has several important dynamic conse
quences. The growth of crystals leads to a sharp 
increase in the viscosity of the magma (crystals 
+ melt!t whilst the loss of ~0 from the melt 
leads to an increase in the viscosity of the melt 
phase itself. The net result is that ascending 
magma is slowed down dramatically once it 
encounters its H20-saturated liquidus, as as 
it is moving slowly enough for crystals to form. 
The depth at which this occurs depends on the 
initial H20 content of the magma and its tern-
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Fig.ll.4 PhaserelationsofHp-saturated 
dacite from Mt St Helens, constructed by 
Blundy & Cashman (2001) from the exper
imental datapoints (shown as open circles) 
of Merzbacher (1984), Rutherford 
et al.(l985), Rutherford & Devine (1988), 
Rutherford & Hill Appearance of 
different mineral phases is shown by the 
solid lines. The iron-titanium oxides have 
been omitted for clarity. The solidus is 
taken from the haplogranitic quartz-albite
orthoclase system (Johannes &. Holtz, 
1996]. See Plate 11.4 for a colour version 
of this image. 
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perature. Annen et al. {2006) describe this process 
as 'viscous death' and suggest that it leads to the 
stalling of magmas in the shallow crust and their 
subsequent coalescence and cooling to form gra
nitic plutons. 

In contrast to H20, dissolved C0
2 
has an almost 

negligible effect on liquidus temperatures and 
phase relations of typical silicate magmas. In fact, 
the preferential loss of C02 from magmas initially 

Basaltic volcanism 

High 
Subplinian-plinian 

Low 

Silicic volcanism 

High 
Subplinian-plinian 

Low 
High 

Degree of melt-vapour segregation 

containing both C02 and H20 serves to depress 
liquidus temperatures by depressing the liquidus 
as H

2
0 becomes enriched rehtive to C02 in the 

residual melt. During the early stages of degas
sing, therefore, when C02 is the dominant 
degassed species, crystallization does not occur. 
Crystallization only begins in earnest when the 
magma reaches sufficiently shallow depths that 
almost all of the C0

2 
has been lost. 

Low 

Fig. 11.5 Classification of volcanic 
eruptions according to the magma 
ascent rate and the degree of melt
vapor segregation, essentially the 
difference between ascent rates of 
magma and gas. Where gas segrega
tion is low and magma ascent rate 
high, the system behaves largely as 
a closed system and eruptions are 
likely to be explosive. In contrast, 
where the timescale of degassing is 
faster than that of magma ascent, 
there is a high degree of gas segre
gation and the system behaves like 
an open system and only gas 
emerges at the surface !Figure used 
by permission of the Royal Society, 
from Edmonds 12008), Phil. Trans. 
R. Soc. A, VoL 366, Fig. 7, p. 14). 
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Importance of degassing on eruption style , 

Gas exsolution has major consequences for the 
properties of magma, such as its density and 
viscosity. Hydrous magma has a lower density 
and viscosity, thus both viscosity and density 
increase during degassing unless gas bubbles are 
retained, which decreases the overall density. 
Degassing also promotes crystallization, adding 
to the increase in viscosity. If gas bubbles are able 
to segregate, magma thus becomes stiffer and 
harder to erupt as it ascends. However, if gas can
not segregate, the magma chamber may become 
over-pressurized and explosive eruptions can 
ensue. The interaction and rates of magma ascent, 
degassing and crystallization are thus crucial in 
whether and how magma is erupted (Figure 11.5). 
In very rapidly ascending magma, there may not 
be enough time for gas to segregate, resulting in 
violent eruptions of bubble-rich magma, for exam
ple, Plinian eruptions. Effusively and explosively 
erupted magma need not start with very different 
volatile concentrations. Rather, effusive eruptions 
appear to have lower magma ascent rates 
(Rutherford, 2008) allowing for more effective seg
regation of gas. The tendency of hydrous magma 
to crystallize upon reaching volatile saturation 
results in much hydrous magma never reaching 
the surface, forming plutons instead. Thus it is 
crucial to understand the interaction and kinetics 
of rnagma . ascent, degassing and crystallization 
(see also Chapters 4 (O'Neill & Spiegelman, 2010), 
5 (Turner & Bourdon, 2010), 7 (Costa & Morgan, 
2010) and 8 (Dosseto & Turner, 2010) ). 

GAS SEGREGATION 

Evidence for pre-eruptive bubbles 

Volcanoes emit large quantities of gases, regard
less of whether they are erupting. Some volca
noes, such as Sakurajima in· Japan, have been 
persistently degassing for 50 years, which requires 
large amounts of magma. Such degassing suggests 
that gas segregation and escape (open-system 
degassing) can occur over timescales much longer 
than those of magma ascent during eruption. 

Here we review evidence for the presence of gas 
bubbles in subsurface magma. 

In 1991, huge amounts of gas were injected into 
the atmosphere by the eruption of Mt Pinatubo, 
but most of that gas could not have been dissolved 
in the magma at any reasonable sub-volcanic 
magma chamber depth. Since then, numerous 
other eruptions have been documented as having 
released 'excess' gas, suggesting that magmas 
often contain a separate gas phase at depth 
(Wallace, 2001). Estimating the composition and 
volume of that separate gas is a challenge, because 
some gas released during eruptions does in fact 
come from the melt. The amount lost from the 
melt can be approximated by the difference 
between gas concentrations in melt inclusions 
minus those in degassed groundmass glass, scaled 
to the mass of magma erupted, but this 'petrologi
cal' method overlooks any gas present in the sepa
rate gas phase. Often, the amount of sulfur released 
from the melt appears to be negligible, because of 
its very slow diffusivity, and so many workers 
focus on 'excess' sulfur to serve as a proxy for the 
separate gas phase. Although some excess sulfur 
could come from the degassing of un-erupted 
magma or the decomposition of sulfur-bearing 
minerals, such as anhydrite and pyrrhotite, the 
more likely source is gas bubbles that were in the 
erupted magma, which contained a mixed fluid 
that included sulfur. Following that hypothesis, a 
recent overview of eruptions suggests that 5 to 
30vol.% bubbles are commonly present in magma 
prior to ascent, accounting for 1 to 6 wt.% exsolved 
Hp (Wallace, 2001 ). This implies that magma 
reaches volatile saturation well before it is erupted, 
and must have nucleated bubbles at depth. 

Before the kinetics of bubble formation, both at 
Jepth and Juring ascent, can be properly addressed, 
we first need to know how many and how big 
those bubbles are. Volcanic pumices preserve an 
array of bubble sizes, often numerous smaller 
ones and a few large ones. Which of those are pre
eruptive bubbles? It has long been speculated that 
the relatively few large vesicles were formed in 
the magma before it erupted (Sparks &. Brazier, 
1982), although it cannot be ruled out that such 
bubbles result from coalescence of many smaller 
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ones during magma ascent. Recently, Gualda & 
Anderson (2007) concluded that a relatively large 
vesicle in a pumice from the Bishop Tuff was a 
relic of a pre-eruptive bubble, that was in the order 
of 300 to 850 J.lm in diameter before it was erupted. 
That bubble may have been held within the 
magma by being attached to many dense magnet
ite crystals, making it neutrally buoyant. If such a 
bubble is typical of pre-eruptive bubbles, there 
would be hundreds to thousands of these per cubic 
centimeter of a magma containing 5 to 30vol.% 
gas. If pre-eruptive bubbles are instead typically 
much smaller, in the order of 10 )..lm in size, then 
that same magma would have hundreds of mil
lions of bubbles per cubic centimeter. Identifying 
the numbers and sizes of pre-eruptive bubbles is 
made especially difficult because any such bub
bles will grow and potentially coalesce during 
ascent to the surface. Recent experimental work 
on decompressing bubbly melt found that small 
bubbles grow substantially, even during decom
pressions as fast as -2MPa s·1 (Gardner, 2009). 
That implies that only the relatively large vesicles 
seen in volcanic pumice may be relics of pre
eruptive bubbles, even if small bubbles were origi
nallypresent at depth. Because vesicle distributions 
in pumice are used to ground truth numerical 
models of explosive eruptions and kinetics of syn
eruptive bubble formation, deciphering the 
numbers and sizes of any pre-eruptive bubbles is 
critical but remains essentially unexplored. 

Open-system degassing 

Ascent of bubbles- a basaltic affair 

Gas bubbles are more buoyant than the surround
ing melt and once-a gas bubble forms it will rise 
through the melt [Figure 11.6). However, this 
process is hampered by the viscosity of the melt. 
The rise of a gas bubble can be described by 
Stokes' Law: 

V=[(pm-pg)g]xd2:::; pmgd2 
l8J1 l8J1 

where v is the velocity of the bubble, d is the 
bubble diameter, Pm and p& the density of the 

melt and gas, respectively, and J1 is the dynamic 
viscosity of the melt. For a typical basaltic melt, 
a 1 mm bubble would rise at 4 kmjyr, whilst in a 
water-rich rhyolitic melt, the same bubble 
would rise at only 0.4m/yr. In viscous magma, 
gas bubbles are therefore likely to ascend with 
the magma and continue to interact with it, 
unless the magma remains stationary for pro
longed periods. However, for some basaltic 
magma, ascent of bubbles does overlap or sur
pass magma ascent velocity. Thus ascent of bub
bles is unlikely to result in significant segregation 
in silicic magma, but could result in some segre
gation in basaltic magma, particularly in shal-
low magma. · 

One way to enhance gas segregation, in particu
lar in basaltic magma, is to grow larger bubbles, for 
example when bubbles form clusters or coalesce. 
Large gas bubbles (meters in diameter!) have been 
observed just before they explode upon reaching 
the surface. There are currently two main models 
for explosive basaltic eruptions, such as Strombolian 
and Hawaiian eruptions. Vergniolle & Jaupart 
(1990) show how such large 'gas slugs' could form. 
In their experiments, small gas bubbles ascend in a 
magma reservoir until they encounter a bottleneck, 
whereupon the bubbles slow and accumulate until 
a critical 'foam' thickness is reached. Bubbles then 
coalesce and escape as gas slugs up the conduit. 
Parfitt (2004) suggested that gas slugs can also form 
by differential ascent rates of bubbles of different 
sizes. Since large bubbles ascend faster they will 
scavenge slower, smaller bubbles and grow at their 
expense. This process relies critically on the magma 
ascent rate: in a slowly ascending magma the bub
bles will travel further and there is more time to 
create large gas slugs. Clearly, accumulation and 
interaction between bubbles is a key process in effi
cient gas segregation, as will be discussed in detail 
in the next section. 

Convection 

Convective overturn can also aid the ascent of indi
vidual bubbles and has been suggested as an effec
tive way to generate large gas emissions, such as 
during passive (non-eruptive) degassing (Stevenson 
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Fig. 11.6 Schematic illustration of different ways in which gas can segregate from magma. (a) ascent of individual 
bubbles through low viscosity magma (e.g. basalt, carbonatite); (b) accumulation and coalescence of bubbles either at 
an interface (compositional, temporal) or by larger bubbles catching up with smaller ones; (c) gas flow through an 
interconnected network of bubbles; (d) deformation of bubbles and fracturing of magma in high stress regions such as 
along the conduit walls (high viscosity magma only). See Plate 11.6 for a colour version of these images. 

& Blake, 1998). Bubble-rich or volatile-rich magma 
is less dense than surrounding volatile-poor magma 
and will thus ascend faster. At some depth, bubbles 
will have expanded sufficiently to either segregate 
from the melt or accumulate against a boundary 
(e.g. encounter an increase in crystal content), 
forming a bubble-rich layer that caps the convec
tion cell. The melt, having lost both its dissolved 
volatiles, because of the decrease in pressure during 
ascent, and its gas bubbles, is now denser and can 
descend again. Such convection cells can result in 
the degassins of large volumes of magma, which 
may never reach the surface, simply because it has 
lost its buoyancy. 

Bu'bble suspensions 

Highly vesicular magma forms not only by ascent 
of individual bubbles, as discussed in the previous 
section, but also by expansion of bubbles during 
magma ascent (Figure 11.6). Bubble suspensions 
(often termed 'foam', though few have the 7 4 voL% 
bubbles required to qualify as such) can thus occur 
both in basaltic and silicic magma. 

Interacting bubbles allow gas to migrate from 
one bubble to the next, establishing a pathway for 
gases. Permeability will eventually lead to gas 
escape and bubble collapse. The development of 
open system degassing requires a degree of per-

meability within the bubble-rich magma. The 
relationship between porosity ( cP, bubble volume 
fraction) and the permeability (k) can be described 
using percolation theory, which requires a certain 
critical porosity <ll cr for gas flow: 

when <ll 2 <ll,, 

k(<ll) == 0 

when <f> <<De, 
in which cis a proportionality constant and n is 
dependent upon the pathway geometry and typi
cally is between 2 and 4. Below the percolation 
threshold <ll cr' no continuously connected network 
of bubbles exists and thus the system is imperme
able. In a system with ideal spheres, permeability 
is reached at around 30vol.% of bubbles, the per
colation threshold. Figure 11.7 shows that in 
explosively erupted volcanic rocks, permeability 
is reached at around this same percolation thresh
old; the threshold appears to occur at much lower 
porosity in effusively erupted volcanic rocks. 

However, many volcanic rocks have porosities 
of up to 70vol.%. In particular, such high porosi
ties are observed in pumices from explosive erup
tions (Figure 11. 7L which presents a conundrum, 
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because percolation starts at 30 vol.% resulting in 
gas loss and explosive eruptions are thought to 
result partly from the inability of the magma 
to lose its volatiles. The explanation lies in the 
relative rates of percolation and degassing 
(Burgisser & Gardner, 2005). At high decompres
sion rates, such as during explosive eruptions, gas 
escape through a bubble network is limited by 
the time required to establish permeability. 

Bubble deformation and fracturing- the 
silicic case 

In systems where foams do not form, permeable 
gas flow can occur through the volcanic conduit 
and its margins. J,n very viscous magma, high yield 
stresses, especiaily along the conduit margins, 
cause bubbles to deform and can eventually lead 
to shear-fracturing ,of the magma itself. In addi
tion, the host rock surrounding the magma reser
voir can be fractured and porous, leading to gas 
loss through the walls as well as up the magma
filled conduit (Figure 11.6). Both elongate bubbles, 
deformed by shear stresses, such as in tubular 
pumices, and fractures will influence the porosity
permeability relationship. In the previous section, 
it was shown that in an ideal, spherical close
packed structure, permeability is reached only at 
around 30vol.% bubbles. However, particularly in 

80 100 

Fig. 11.7 Porosity (vesicularity)-perme
ability relation such <!S measured in vol
canic rocks (nwdiiied after Mueller 
et al., 2005). In bubble foams connectiv
ity is reached at -30% bubble volume, 
the percolation threshold. Thus gas loss 
during explosive eruptions is late and 
bubbles can expand until they reach per
meability (closed system degassing). 
Effusively erupted magma is permeable 
at much lower vesicularity and the 
nature of the connectivity differs, frac
turing and deformation provide efficient 
pathways for gases to escape (open 
system degassing). See Plate 1 L 7 for a 
colour version of titis image. 

extrusive eruptions, permeability is observed at 
much lower porosity 11. 7, Mueller et al., 
2005 Lin such cases, gases escape through deformed 
bubbles 811d fractures. Microfractures have been 
observed in pumice, but it is tmclear whether they 
formed whilst the groundmass was molten or 
when it quenched to glass. 

Magma itself can fracture in response to shear 
stresses induced by flow of highly viscous magma 
(Tuffen et al., 2008). Veins of pyroclastic material 
and banding in obsidian have been suggested to 
represent healed fractures, which once provided 
gas escape routes (Stasiuk et al., 1996; Rust et al., 
2004i Tuffen et al., 2003 ). Such fractures are tran
sient and the crystal and glass fragments are re
deposited by the gas-particle mixture, which 
flows along the fractures. The transient fracture 
networks provide highly efficient pathways to 
transport gases. Rust et al. (2004) suggest that 
brecciated conduit act as highly perme
able channels for continuous gas flow. 

Apart from the loss of gas through a permeable 
network of bubbles and/or cracks, the unstable 
nature of bubbly magma can be resolved another 
way; by fragmentation of the surrounding magma. 
Fragmentation occurs when the gas is exposed to 
a sudden pressure gradient, such as occurred at 
Mt St Helens on May 18, 1980, when a landslide 
on the northern flank of the volcanic cone 
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removed part of the overburden. In such cases the 
gas loss from the magma is insufficiently fast 
compared to the ascent rate of the magma and the 
expanding bubbly magma will fragment. 

TIMESCALES OF DEGASSING 

During closed-system degassing, the timescalcs 
of gas exsolution are governed by the rates of the 
processes that cause exsolution, for example, 
magma ascent or cooling. Estimates of magma 
ascent rates can be inferred from diverse meth
ods, such as seismic data or petrologic observa
tions. A recent review of magma ascent rates can 
be found in Rutherford (2008) (see also Chapters 4 
(O'Neill & Spiegelman, 2010) and 5 (Turner & 
Bourdon, 2010) ). Estimates range from 0.001 to 
O.OlSm/s for extrusive eruptions and in excess of 
meters per second for explosive eruptions. During 
such very rapid ascent rates, volatile exsolution 
may be hampered by the ability of gases to diffuse 
into bubbles. 

The previous section has shown that most 
magma will at some point become permeable to 
gas, either by differential ascent of gas and 
magma or by expansion of the gas phase, result
ing in open-system degassing and gas loss. In 
such cases the rate of degassing exceeds that of 
magma ascent. Determining the timescales of 
degassing can then provide important clues to 
the nature of the gas segregation mechanism and 
vice versa. Timescales of magma ascent and crys
tallization have been discussed in the previous 
chapters (Costa &. Morgan, 2010; Dosseto & 
Turner, 2010; O'Neill & Spiegelman, 2010; 
Turner & Bourdon; 2010); here the timescales 
of gas exsolution and segregation will be 
discussed. 

Diffusive timescales 

Diffusive timescales 

Not only do different volatile species have dif
ferent solubilities, they also have different dif
fusivities. H

2
0, the most abundant volatile 

species, is also the fastest at diffusing. When 
bubbles form during decompression or magma 
ascent, segregation can occur too fast to enable 
equilibrium partitioning of all species between 
the gas and melt phases. Thus, not all H

2
0 or 

other volatile species are completely exsolved 
from the melt upon eruption, because the melt 
does not have enough time to fully re-equilibrate 
with the gas phase at the new pressure. Because 
each species diffuses over different timescales, 
it is possible to use the extent of degassing of 
each species to assess the magma ascent rate as 
well as the timescale of the incomplete exsolu
tion. A study by Humphreys et al. (2008) shows 
that there are H20 gradients in tubular melt 
inclusions, which were not yet fully closed off 
at the time of eruption. They used these diffu
sion profiles to estimate a magma ascent time 
during the 1980 Plinian eruption of Mt St Helens 
of 40 to 60mjs. Castro et al. (2005) measured 
H 20 concentrations in obsidian, which decrease 
towards bubbles indicating incomplete degas
sing. By fitting the measured profiles to a model 
of H 20 diffusion, i.hey established that the time 
between bubble nucleation and magma quench
ing was between 0.4 and 15 days. 

Diffusion profiles of H,Q have also been 
observed within crystals. Ev~n anhydrous miner
als, such as olivine, can contain ppm levels of 
H

2
0. Thus H

2
0, and probably other volatiles as 

well, can diffuse through the crystal lattice, 
implying that even enclosed melt inclusions will 
respond to devolatilization of the groundmass 
melt. This response is, however, dependent upon 
diffusion kinetics, which provides a timescale of 
the crystal's ascent in a degassing magma. There 
are several ways in which H

2
0 can diffuse through 

a crystal: as molecular H20 via dislocations within 
the lattice, or by hydrogen diffusion. Portnyagin 
et al. (2008) showed experimentally that relatively 
dry enclosed melt inclusions in olivines increase 
their H

2
0 within hours when subjected to a H 20-

rich environment. Such rapid readjustment would 
imply that Hp-rich melt inclusions have spent 
less than a few hours at low pressures; that is, 
they ascended very rapidly. Hydrogen diffusion 
profiles have also been observed in xenocrystic 
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mantle olivines from kimberlites and alkali 
basalts {Peslier et al., 2008). These diffusion pro
files suggest ascent rates in excess of 5 to 37m/s 
to capture the diffusive release of H

2
0 from the 

olivines en route to the surface. 

Diffusive loss of volatiles during eruption 

One of the fastest rates of cooling for magma is 
that of pumice in the atmosphere. When an erup
tion plume is injected into the atmosphere, it 
mixes with air and cools quickly in a matter of 
minutes. Hort &. Gardner (2000) found through 
numerical modeling, however, that hot pumice 
clasts in the plume will also cool rapidly by los
ing heat to the plume, but not uniformly. Instead, 
the rim of the pumice will cool almost as fast as 
the plume, whereas its interior can stay relatively 
hot for many minutes, with that time being 
longer for larger pumices. Ash shards, however, 
are expected to cool essentially as rapidly as the 
plume itself, because of the very short distance 
over which heat must be conducted. 

Based on cooling timescales estimated for pum
ices of various sizes, Hort &. Gardner (2000) pre
dicted that the amount of water that will remain 
dissolved in the glass should he low, but not as 
low as expected from the solubility of water at 
atmospheric pressure. Slightly elevated water 
contents are, in fact, often found in volcanic glass, 
although these are much lower than would be 
expected if the vesicle content of pumice recorded 
the total amount of degassing. For example, mag
mas erupted in l991 at Mt Pinatubo and in 1883 
from Krakatau i~itially contained -5 to 6wt.% 
water, and their resulting pumices typically have 
60 to '80vol.% vesicles (Gerlach et al., 1996; 
Mandeville et al., 1998). If those pumice were to 
represent the end-product of closed-system degas
sing, then their glass should still have -1 to 
2 wt.% water dissolved within them; instead they 
contain only -0.3 to 0.8 wt. o/o, Hence, 10 to 30% 
of the water released from melt occurs after the 
network of bubbles becomes permeable. Hydrogen 
isotopic data from volcanic glass supports the 
loss of water through open-system degassing of 
the pumice (Westrich et al., 1991 ). 

Both chlorine and sulfur are often found in low 
concentrations in volcanic glass, with the differ
ences between un-degassed glass inclusions and 
matrix glass tending to increase as the melt 
becomes hotter and more basic in composition 
(Devine et al., 1984; Palais &. Sigurdsson, 1989). 
Those differences are usually much smaller than 
for water and can, at least partly, be attributed to 
open-system degassing of cooling pumice, because 
both sulfur and chlorine diffuse more slowly than 
water, but both diffuse faster as temperature 
increases (Watson, 1994). In fact, the diffusivity 
of sulfur becomes slow enough at temperatures of 
$;800°C that essentially no sulfur will escape from 
the melt. Indeed, the differences between sulfur 
contents in glass inclusions and matrix glass from 
cool rhyolite eruptions is essentially negligible. 
In that case, all sulfur released to the atmosphere 
must come from gas bubbles already present 
before eruption. 

Breakdown of hydrous minerals 

Hydrous minerals, such as hornblende and biotite, 
are commonly stable in water-rich melts at high 
water pressures, because water in their structures 
occupies a smaller molar volume than it does as a 
fluid in water-saturated melt. Conversely, those 
hydrous minerals are not stable at low water pres
sures. Hence, when magma loses water, for exam
ple during ascent to the surface, that loss causes 
hydrous minerals to break down, and the rate at 
which they break down can reflect the rate of 
magma ascent. The reaction of hornblende in 
intermediate and evolved magmas has been used 
the most to determine magma ascent, mainly 
because hornblende is a common mafic mineral 
in such magmas. Other volatile-rich minerals, 
such as biotite and anhydrite, are also known to 

react with silicate melt. 
Vvhen hornblende is taken to low water pres

sures outside its stability field, it reacts with its 
surrounding melt to produce is a rind composed 
mainly of plagioclase+ pyroxenes+ Fe-Ti oxides. 
The growth rate of that reaction rind has been 
calibrated experimentally in a limited number of 
magmas, to allow the rind thickness to be used to 
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226Ra 1599 yrs 222Rn 3.82 days 210pb· 22.6 yrs 210gj 5.0 days 210po 138 days 206Pb 

Fig. 11.8 The part of the 238U decay series, which is of particular interest to degassing, showing the half-lives of the 
parent in each step. The extremely short-lived nuclides that form by decay of 222Rn: 218Po, 214Pb, 214Bi and 214Po, with 
half-lives of minutes to milliseconds, have been omitted. 

estimate ascent rate. Experiments show that the 
reaction is slow, and no rind is seen in the first 
few days after decompression, which limits the 
use of the 'hornblende geospeedometer' to slowly 
rising magma in lava and dome extrusions. Its 
usefulness is also limited by the overall size of the 
hornblende. Regardless, variations in hornblende 
decomposition have been used to understand how 
fast magma can rise, for example, during dome 
extrusions at Mt St Helens (Rutherford & Hill, 
1993), Redoubt (Wolf & Eichelberger, 1997) and 
Montserrat (Devine et al., 1998). 

Because use of the hornblende reaction is 
restricted to relatively slowly rising magma, 
water diffusion and bubble growth are fast enough 
that they do not limit the rate of the reaction. 
Water loss from the melt does raise the viscosity 
of the melt and slows crystal growth, both of 
which impact on the growth of the reaction rind. 
The reaction rate should thus vary as magma 
rises to the surface. Indeed, experimental studies 
show that the reaction is fastest at water pres
sures just below that needed for hornblende to be 
stable, and slows dramatically as pressure lowers 
(Browne & Gardner, 2006). Using the total thick
ness of the reaction rind as a proxy for ascent 
along the entire, integrated path to the surface is 
thus an over-simplification. In fact, Browne & 
Gardner's (2006) experiments found that the tex
ture, mineralogy and thickness of the reaction are 
all functions of decompression path. Once those 
complexities are taken into account, it becomes 
clear that extruding magma can follow complex 
ascent paths, sometimes stalling one or more 
times during ascent before reaching the surface. 

Radio nuclides 

Radionuclides- magma 

The decay of 238U, which is naturally present in 
magma in trace amounts, results in the produc-

tion of daughter isotopes, each of which is radio
active itself (Figure 11.8). The decay chain 
involves isotopes of different elements, each with 
a different half-life and physio-chemical proper
tics. Thus fractionation between parent and 
daughter isotopes will occur during processes 
such as crystallization and degassing. The decay 
of 226Ra is particularly interesting for degassing 
studies as it produces 222Rn, which, as a noble gas, 
prefers the gas phase, whereas 226Ra does not. Gas 
loss, and thus radon loss, can result in a relative 
shortage (or 'deficit') of its 'granddaughter' 210Pb. 
Note that the intermediate nuclides (218Po, 214Pb, 
214Bi, 214Po) are usually ignored, because of their 
extremely short half-lives (minutes or less). 
Fractionations between nuclides of decay chains 
are transient and their magnitude depends on the 
initial fractionation and the time that passed 
since. Thus, measurement of 226Ra and 210Pb in 
magma shortly after its eruption can be used to 
study timescales of degassing. Measurement of 
222Rri" and other volatile nuclides in the gas phase 
at the surface provides another useful constraint 
on the gas escape time, which will be discussed in 
the next section. 

Gauthier & Condomines (1999) modeled the 
deficit of 210Pb in the melt with respect to 226Ra 
due to degassing of 222Rn: 

in which the parentheses stand for activity (A = 
N

210
1L

210
; the number of particles times the decay 

constant), f is the fraction of radon lost from the 
system (estimated as being close to 1, e.g. Gill 
et al., 1985), A, is the decay constant of 210Pb (/L = 

ln(2)/r112, where r112 is the half-life) and tis time. 
Because of the very different half-lives of 222Rn 
and 210Pb, at equal activity there are many more 
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Fig. 11.10 Histogram of (210Pbj226Ral in volcanic rocks 
(from Compilation in Berlo & Turner, 2010). To com
pare magma erupted at different times; all ratios have 
been recalculated to their eruption date. Hence only 
analyses of sampleS with known eruption age are shown 
(n = 301 ). Most ratios lie between 0.5 and 1.5, but values 
as low as 0.2 and as high as 13 have been documented. 

atoms of 210Pb than 222Rn, requiring continued 
withdrawal of 222Rn over years in order to see 
the effect on the (210Pb/226Ra) ratio (Figure 11.9). 
Figure 11.10 shows a compilation of (210Pb/226Ra) 
as measured within volcanic rocks all over the 
world. Most analyses plot between 0.5 and 1.5. 
The lower .extent of this range would suggest a 
minimum degassing time of 25 years, if degassing 

was continuous and no recharge occurred 
(Figure 1 1.9). This implies that magma can be 
fluid-saturated and permeable for at least 25 years 
prior to eruption. Moreover, to create 210Pb defi
cits at all, gas escape has to be fast compared to 
the half-life of 222Rn (3.82 days). However, there 
are other ways in which 210Pb can be fractionated 
from 226Ra, including dynamic melting of the 
mantle (Rubin et al., 2005L fractional crystalliza
tion (Reagan et al., 2008), precipitation of sulfides, 
or interaction with cumulates of plagioclase and 
amphibole (Van Orman & Saal, 2009). Thus it is 
important to check that there are no correlations 
between fractionation indices and (210Pbj226Ra) 
before considering degassing as the culprit. 

In symmetry with the hypothesis for 210Pb deficit 
formation by gas loss, 210Pb excesses (Figure 11.1 0), 
which are mainly observed in arc volcanoes, can be 
explained by streaming gas through overlying melt. 
Whilst traversing the overlying magma, the 222Rn 
in the gas phase decays to less volatile 210Pb, which 
is redissolved in the melt. The build-up of 210Pb 
excesses in the magma that is being traversed can 
occur on very short timescales, if the relative vol
ume of Rn-supplying magma to Rn-receiving 
magma is large.2l0Pb deficits and 210Pb excesses are 
coupled and have been observed in the same erup
tion when magma from a range of depths is erupted, 
such as. during the 1980 eruption of Mt St Helens 
(Berlo et al., 2006). Unlike 210Pb deficits, it appears 
to be difficult to create 210Pb excesses without 
involvement of a gas phase. However, Reagan et al. 
(2008) show that in evolved magma it may be pos
,sible to create excesses using amphibole and 
K-feldspar fractionation. 

Radionuclides -gases 

Besides 222Rn, the decay of 226Ra produces a number 
of other short-lived nuclides, which partition into 
the vapor phase during magma degassing.222Rn-210· 

Pb-210Bi-210Po (in order of decay, Figure 11.8), are 
highly enriched in volcanic plumes relative to 
standard atmosphere (Lambert et al., 1985/86). 
These nuclides owe their enrichment to the 
volatility of their metals, as well as their affin
ity for halide and sulfide compounds at high 
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temperatures. However, they are not equally vola
tile and their volatility depends on temperature 
and the compositions of the melt and gas. 
Emanation coefficients are used to characterize 
the ratio of atoms released, to those originally 
present within themagma(Lambert et al., 1985/86). 
Polonium, with an emanation coefficient of close 
to 1, is almost completely lost during degassing, 
whereas bismuth and lead are less volatile, with 
emanation coefficients of 0.1 to 0.3 and 0.99 to 
0.98, respectively (Gill et al., 1985; Lambert et al., 
1985/86; Pennisi et al., 1988; Rubin, 1997; Gauthier 
et al., '2000; Le Cloarec & Gauthier, 2003).226Ra, 
their relatively long-lived parent isotope 
(r1/J-1,599yrs), is not volatile and remains with the 
magma. Thus these radionuclides are fractionated 
from their parent and from each other during 
degassing. Note that their abundance in magma is 
so small that they do not degas on their own, but 
require a carrier gas such as H

2
0 or C02. 

Gas emitted directly from magma should have 
relative abundances of short-lived radionuclides 
based upon their half-life and their emanation 
coefficients, thus (210Poj210Pb) > (210Bif210Pb) > 1 
(Le Cloarec & Pennisi, 2001; Gauthier et al., 
2000). Such ratios have been observed at, for 
example, Etna (Lambert et al., 1 985/86; Le 
Cloarec & Pennisi, '2001), Stromboli (Gauthier 
et al., 2000) and Merapi (Le Cloarec & Gauthier, 
2003), suggesting that the time between parti
tioning of £mclides into the gas phase and its 
measurement at the surface is in the order of a 
few hours to tens of days. However, where escape 
routes are longer, for example, a deeper magma 
source, non-eruptive degassing, cooling, deposi
tion and decay can modify the short-lived radio
nuclide ratios. At Vulcano for example, Le 
Cloarec et al. ( 1994) suggest that the emil ted 
210Po is derived from both magmatic degassing 
and from Ph-rich sublimates. Gases can condense 
upon fracture walls, resulting in Ph-enriched 
encrustations. Such sublimates are both a sink 
for 210Pb in the gas and a source for 210Po and 210Bi 
from the decay of 210Pb. 

The most stringent constraint on gas escape 
timescales comes from 222Rn, with a half-life of 
only 3.82 days. Radon is inert and remains gase-

ous even at low temperature. It does, however, 
dissolve in groundwater. Radon is constantly 
produced by decay in minerals, but only the 
radon along grain boundaries is free to be 
entrained in water or gas. Rock fracturing 
increases surface area and thus liberates radon. In 
some cases peaks in radon emissions from soil 
and groundwater have been observed prior to 
earthquakes (Igarashi et al., 1995). The whole 
volcanic edifice, rocks, soil and aquifers, is thus a 
potential source of 222Rn emissions and it is dif
ficult to distinguish between 222Rn derived from 
degassing magma at depth or anything in between 
there and the surface. At Stromboli, spatial and 
temporary fluctuations in 222Rn activity have 
been interpreted as precursors to volcanic activ
ity (Cigolini et al., 2005). However, the uncertain 
origin of the 222Rn makes the interpretation of 
the time constraints provided by its short half
life difficult. A recent study by Giammanco et al. 
(2007) at Etna uses correlations with C02 derived 
from degassing magma and an even shorter-lived 
radon isotope, 220Rn, which is derived from soil 
interaction, to distinguish between magma and 
soil degassing. 

In summary, short-lived radionuclides in vol
canic gases present a unique opportunity to 
derive timescales of degassing. Observations of 
excess radionuclides, 222Rn, 210Po and 210Bi, with 
half-lives of days in volcanic plumes (Lambert, 
1983) and their absence in rock samples col
lected immediately after eruption (Sato & Sato, 
1977; Bennett et al., 198'2; Gill et al., 1985; 
Reagan et al., 2006), testify to degassing times
cales of days. Fumaroles provide another source 
of information, which is more complicated to 
interpret, because of potential contributions 
from soil, groundwater and sublimates. At 
Stromboli and Etna, gas escape can occur in as 
little as hours (Gauthier et al., 2000), but most 
estimates are on the order of a few days to tens 
of days, with longer estimates for non-eruptive 
periods (Lambert et al., 19R5/86; Le Cloarec & 
Pennisi, 2001 ). The observation of (210Bij210Pb)> 1 
at Merapi (Le Cloarec & Gauthier, '2003) sug
gests that in more evolved systems gas escape 
time is similar. 
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LONG-TERM CONSEQUENCES 
OF DEGASSING 

The preceding sections dealt with degassing 
timescales of seconds to decades- eruptive times
cales where degassing is largely d1iven by 
magma decompression. However, manyvolcanoes 
are underlain by magma bodies that remain par
tially molten for thousands or even millions of 
years !see Chapters 8 !Dosseto &. Turner, 2010) 
and 10 (Bachmann, 2010) ). Many such magma 
bodies are unlikely to be volatile saturated when 
emplaced, but cooling and crystallization will 
lead to saturation and gas exsolution. Degassing 
caused by subsurface cooling of magma bodies is 
likely to be slower than by magma ascent, espe
cially during eruption. Periodic recharge provides 
a continued flux of heat and volatile-rich magma 
to this environment The effects of long-term or 
periodic gas release from magma are evident in 
the form of ore deposits. 

Potential for non-eruptive magmatic gas 
release on the millennial timescale 

The dependence of the solubility of Hp and 
on temperature is smaller than that of pressure. In 
fact, the solubility of H

2
0 actually increases dur

ing isobaric cooling. Thus cooling is a much 
less efficient driving force for degassing compared 
to decompression. However, cooling causes crys
tallization and it is this that drives degassing. The 
timescales of crystallization are therefore highly 
relevantto those of degassing and are discussed in 
detail in Chapters 7 (Costa & Morgan, 2010) and 8 
{Dosseto & Turner, 20101. Here we focus on the 
cooling rates of subsurface magma bodies that can 
be estimated independently. 

A simple estimate of cooling rates of a magma 
body can be obtained by looking at the conductive 
cooling of a sheet-like body. In a sheet, with a 
smaller vertical than lateral extent, heat dissipa
tion can be estin1.ated using a one-dimensional 
approach, In this simple approach we are ignoring 
convection within the magma body. The thickness 
of the sheet is 2w and the initial temperature is 
T0>Tcr' witb being the host rock temperature: 

-=<X<oo 

where a = K/pc, is the thermal diffusivity. 
For boundary conditions ()Tj'dx = 0 at x 0 and x 
=? oo, the solution to this equation is {Carslaw & 
Jaeger, 1959): 

If '[w-x] [w+x]l = 21_ 6If 2JCrt + erf 2Jit r w < X < co 

which the temperature. distribution within 
the sheet and surrounding rock at any time. 
A single dyke of lOOm thickness with initial 
temperature of 1,200°C will cool to a maximum 
temperature of 900°C within ~400 years. 
Observations of plutons suggest that magma 
chambers form by additions of multiple intru
sions over extended time periods (Glazner et al., 
2004j. Repeated intrusion of magma provides not 
only a direct influx of voLatiles, but also extends 
the lifespan of magmatic systems. 

Petford & Gallagher !2001) modeled the effects 
of periodic intrusion of sills in the lower crust. 
They showed that single intrusions, regardless of 
size, will lead to short heat pulses and little melt
ing of the host rock, whereas multiple intrusions, 
particularly when the interval between intrusions 
is short, can lead to substantial melting. Their 
model considers only the process of melt genera
tion in the surrounding crust that has become 
heated by the sills. The ability of rocks to gener
ate melt once heated depends critically on the 
amount of H20 available. Solid rocks are limited 
in the amount of H20 they can store by the abun
dance of hydrous minerals, such as amphibole and 
micas. A typical amphibolite, with 40% amphib
ole can only contain 0.8 wt.% Hp, which severely 
limits its ability to generate melt once heated by 
a process known as dehydration melting. 

Annen & Sparks (2002) and Annen et al. (2006) 
extended the models of Petford & Gallagher 
(2001) to consider the generation of evolved melts 
both from heating country rock and from crystal
lizing basalt within the sills. In many settings, 
notably above subduction zones, basalts forming 
lower crustal sills contain initial contents of 
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Hp, typically much higher than the 0.8wt.% in 
amphibolite. This vastly increases their ability to 
generate evolved melts during crystallization. 
Annen et al. (2006) show that melt productivity 
in the lower crust is vastly enhanced when we 
consider both potential sources of melt. There is 
also a significant 'incubation time' after injection 
of the first sill, during which the crust tempera
ture becomes elevated above the initial crustal 
geotherm, by advection of heat from the sills. 
Slow magma intrusion rates lengthen the incuba
tion time; fast rates shorten it. 

An important aspect of melt generation in the 
Deep Crustal Hot Zone concept of Annen et a.l. 
(2.006) is that the residual melt concentrates H

2
0 

present in the initial basalt, because the minerals 
that close to the liquidus are ~0-poor. 
Thus for an initial basalt H,O content of2.5wt. %, 
75% crystallization, a typi~al value for the gener
ation of silicic andesite melt, leads to a four-fold 
increase in H,O. Melts generated in this way can 
have very high initial H20 contents before they 
begin their ascent. At lower crustal pressures, 
Hp solubility is sufficiently high that all of this 
volatile burden is fully dissolved within the melt 
and is only released at shallow depths, leading, as 
described above, to copious decompression crys
tallization once the H,O-saturated liquidus is 
reached. co1 present i~ the initial sill-forming 
basalts will also be concentrated in a similar way. 
However, the lower solubility of relative to 
H

2
0 means that C0

2 
will start to at much 

greater depths in the crust, and will be signifi-
cantly reduced the onset of decompression 
crystallization. summary, Deep Crustal Hot 
Zones are likely to play an important part in mod
ifying mantle-derived volatile-bearing basalts 
beneath many arcs, and provide a means to gener
ate significant volumes of volatile-charged evolved 
melts that can then ascend and degas within the 
crust over a considerable range of depths. 

Ore deposits as a result of long-term 
degassing 

The existence of large, long-lived bodies of solidi
fying magma within the crust has profound 

consequences for the surrounding rocks. Not 
do these bodies provide they also supply 
volatile elements expelled from the magma to the 
country rock. Heating may cause the surrounding 
host rock to partially melt and some hybridization 
between intruding magma and (partially) molten 
host is likely to occur. The combined effects of 
the temperature gradient and the flux of volatile 
elements from the magma drives hydrothermal 
circulation of fluids through both solidified pans 
of the magma body and the host. Such hydrother
mal circulation cells are the basis for the formation 
of ore deposits surrounding long-lived magmatic 
systems. The extent to which the ore elements 
v<>c0 u"'""·c from the magma or are leached from the 
country rock is variable (Hedenquist & 
Lowenstern, 1994). Porphyry deposits (Au, Cu, 
Mo) are closely associated with magmatic activity 
and derive much of the ore-forming fluid directly 
from magma. They are commonly found in oro
genic arcs, such as the Andes, where magma accu
mulation in the lower to middle crust has occurred 
over millions of years. Other types of ore deposits, 
which have a high input of magmatic fluids, are 
high-sulfidation epithermal deposits, which are 
thought to be shallower extensions of the por
phyry deposits based upon their spatial relation 
(Sillitoe, 1973; Arribas et al., 1995). There are 
many volcanoes with well-established surficial 
hydrothermal systems, for example White Island 
in New Zealand, which may be surface manifesta
tions of ongoing ore deposition at depth. 

Observations at potential sites of active ore 
deposition at volcanoes raise the question of how 
long it takes to form an entire ore body. One way 
to find out is by measuring the fluxes of metals 
coming out of volcanoes, for example in ;:hose 
with well established hydrothermal systems, and 
compare this to fluid chemistry in established ore 
deposits. Simmons & Brown (2.006) measured the 
Au-flux at one of the world's largest gold deposits; 
the Ladolam hydrothermal system hosted by 
Luise Volcano in Papua New Guinea. Based on 
their analyses, they concluded that the current 
deposits could have formed in several 104 years. 
Using a similar approach, Simmons & Brown 
(2007) showed that in the Taupo Volcanic Zone, 
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metal fluxes are actually even higher, yet so far 
these high fluxes may not have resulted in ore for
mation as there are no known deposits. This sug
gests that not only the element flux, but also the 
efficiency of the precipitation mechanism is 
important in the formation of ore deposits. 
Detailed studies also show that epithermal ore 
deposits are the result of multiple episodes of 
magmatic activity {Bendezu et al., 2008). A recent 
review by Tosdalet al. {2009) suggests that ore 
deposits can form in a few thousand to a few hun
dred thousand years. 

Porphyry deposits are associated with large 
intrusive complexes, which provide heat to drive 
regional-scale hydrothermal systems. As shown 
in the previous section, such systems can remain 
a significant source of heat for millions of years, 
especially if the system experiences regular 
influxes of new magma. Dating of ore minerals 
has shown that most porphyry deposits formed 
over extended periods of time {Harris et al., 2008; 
Marsh et al., 1997). However, as with epithermal 
systems, the formation occurs episodically rather 
than continuously. The Bajo de la Alumbrera 
porphyry copper-gold deposit in Argentina, for 
example, formed over a three to four million-year 
period (Harris et al., 2008). However, without 
recharge, the magmatic system could not have 
provided the heat flux over this period and would 
have solidified within <10,000 years. 

The formation of an ore deposit may take as 
little as severall03 years, or grow incrementally 
over millions of years. Each such increment may 
be linked to magma recharge, providing a new 
influx of volatile rich magma, which is gradually 
expelled. It remains challenging to distinguish 
such episodes with the available chronometers. 

SYNTHESIS 

Degassing is an all-encompassing term that has 
been applied to a wide variety of processes that 
result in the loss of volatiles from magma. 
Consequently this chapter has discussed degas
sing timescales of seconds to thousands of years. 

It should be clear now that it is impossible to 
visualize degassing as a single, isolated process. 
Degassing is driven by magma decompression 
and cooling and thus intimately linked to magma 
ascent, crystallization and recharge. Here we 
attempt to integrate the timescales of the differ
ent processes that lead to volatile loss. In a con
ceptual model (Figure 11.11 ), the first step of 
degassing is exsolution of volatiles. The first 
volatile species to exsolve is, in most cases, C0

2 
. 

and this can reach saturation at depths of 15 km 
or more, depending on the initial concentration. 
Rates of exsolution are dependent upon the dif
fusivity as well as the bubble number density. 
This is essentially closed-system degassing and 
will continue until equilibrium partitioning is 
reached and there are no changes in .. pressure 

basaltic system silicic system 

c 

Fig. 11.11 Conceptual model to illustrate degassing 
stages. Degassing starts as a dosed-system degassing of 
variable duration depending on decompression and cool
ing rates (a). The transition to open system degassing (b) 
can be brought about in a variety of ways, for illustrative 
purposes the basaltic case is shown as bubble ascent 
aided by convection. Alternatively, accumulated bubbles 
may become permeable to gas, leading to gas escape (c). 
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and temperature to drive further exsolution. 
Maximum estimates for the duration of 
closed-system degassing are thus commensurate 
with timescales of magma ascent and cooling. 

The transition from dosed-system degassing to 

open-system degassing can be effected in a number 
of different ways. In low viscosity systems {e.g. 
basaltic, Figure 11.11 ), bubbles may be able to 
ascend through the magma to some extent, causing 
a gradual change in concentration. In Figure 11.11, 
the transition is visualized as a bubble 'foam'. 
Foams are transient features, but can be continu
ously or periodically recreated. Destruction of 
foam can lead to resorption, fragmentation or coa· 
lescence and gas escape. However when inter
rupted, for example by eruption, exsolution may 
be incomplete and the sudden transition from 
closed system to open system can take place in 
seconds, as shown by Burgisser & Gardner !2005). 
Consequently, the onset of open-system 
sing can be sudden or more gradual, where gas 
bubbles grow to sufficient size to escape the melt, 
for example. 

Once gas is able to escape from the melt, it will 
continue to do so until it reaches equilibrium 
under the magmatic conditions. Rates derived 
from diffusive profiles in melt and minerals, as 
well as breakdown rims on hydrous minerals, are 
essentially decompression rates, whereby volatile 
elements attempt to readjust to changing pres· 
sure condit'ions. For magma to continue to 
exsolved volatiles pressure, temperature or com
position conditions need to change. Timescales 
of decades, such as derived from \210Pbf226Ra), are 
thus likely related to convection or continuing 
ascent of magma. Where volatiles are periodically 
replenished by additions of new magma over 
timescales of 103 years, ore deposits can form. 
Short-lived radionuclides measured in volcanic 
gases estimates of the time it takes for gas to 
travel from magma to surface and can yield infor· 
mation on the depth of degassing magma and the 
permeability of the intermediate rock and soil. 
How fast gases can move through magma itself 
will depend on the physical mechanism by which 
it is transferred. 
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Ca,Al-rich inclusions (CAis), 12-13 
formation, 13 

caldera clusters, 220 
calderas, 212 
carbon dioxide see C0

2 
cataclasis, 185, 188-90, 195, 196 



cathodo-luminescence (CL) image, 147, 148 
Central San Juan caldera cluster, 220 
Chaiten volcano, 207 
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trace element diffusion in, 58-9, 61-2. 
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solubility, 248 
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critical melting models see dynamic melting models 
critical porosity, 241 
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evidence for rapid, 198-9 
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full formulation, 98-9 
non-Newtonian, 97,--8 
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diffusion 

anisotropic, 144 
atomistic description, 128 
definition, 128 
macroscopic description, 130-1 
in melt, 53 
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experimental determination, 136 
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dissolution rate, 93 
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felsic rock, mineral ages, 168 
Fick's first law of diffusion, 130 
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heating, of planetary interiors, 10 
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basic decay equation, 11 
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large silicic magma bodies (cant' d) 
modelling time-dependant physical processes, 

223-5 
radiometric dating, 217-23 
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deficits, 109, 245-6 
diffusion-controlled transfer, 64-6 
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melting rates, 7l 
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lithospheric melting, 78, 80-2 
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mantle melting, 3-4 
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muscovite and biotite-bearing crustal rocks, 187 
static experimental results, 184-5 

constraints on melting of pelitic crust, 187-96 
melt inclusions, 235-7 
melt interconnectivity, 185 
melt patches, 121 
melt production 

description, 69--71 
modes, 69 



melt productivity, 71 
melt segregation 

rates, 205-6 
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non-chondritic Earth model, 42-5 
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melt ascent rates, 111 
melting extents, 108 
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diffusion coefficients in, 136, 148 
diffusion initial conditions, 146 
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rhyolites 

generation, 168 
transport, 207 

river systems, 94 
rock permeability see permeability 

Sakurajima, 239 
Salt Lake Crater, 119 
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