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Editor’s Foreword 

This work warranted translation because (i) it is an authoritative statement 
of the new concepts of climatic analysis that are based on the laws of conser- 
vation of mass and of energy that have developed in many parts of the world 
in the past 25 years, but nowhere as comprehensively as in the great Voeikov 
Geophysical Observatory in Leningrad [GGO], and (ii) it applies these 
energy-budget concepts to important questions in the biology of the planet. 
The book can be termed authoritative because its author, Mikhail Ivanovich 
Budyko, the director of the Observatory, has led its energy-mass budget 
investigations, and has himself explored many of the implications of the 
seemingly simple concept of the budget. 

The first English-language summary of the research at the Voeikov Ob- 
servatory was based on the Russian work of 1956 that Budyko brought to a 
conference in Washington of the Committee on Climatology of the World 
Meteorological Organization. The importance of the book was immediately 
recognized and it was translated into English by the Office of Climatology of 
the U.S. Weather Bureau with support from the U.S. Army Natick Labora- 
tories and the Cold Regions Research and Engineering Laboratory, three 
groups that were then getting involved in energy research and applications. 
(A translation into Japanese was published the next year.) 

In many areas of geophysics in North America (including climatology, 
hydrology, and meteorology) energy-mass budget work then under way was 
powerfully strengthened by the methods and the global-scale data published 
in this translation (“The Heat Balance of the Earth’s Surface,” Washington, 
1958). It has since repeatedly served as the base level on which further 
investigations have built-some at the micro- and mesoscales, others at the 
world scale. 

“Climate and Life” surpasses the contributions of the 1956 book and its 
two associated atlases. Larger than the book of 1956, it goes from a recapitu- 
lation of methodology and the time and space distributions of the energy 
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fluxes to  an examination of contemporary questions, biological as well as 
geophysical, in the light of the relevant energetics. 

As a long-time believer in the efficacy of energy analysis to get at the roots 
of refractory problems in geophysics, geography, and biology, I find Budyko’s 
analyses logical and compelling. These analyses offer new insights, whether 
applied to photosynthetic productivity of the earth‘s vegetation, the heat 
balance of man and other organisms, or to such emerging global questions as 
climatic change. The culminating chapter unites small-scale biological and 
large-scale geophysical phenomena as could be done only by an individual 
with a firm grasp of processes operating at both scales could do. 

Professor Budyko wrote many years ago that application of the energy- 
water balance can bring about a rapprochement of the rapidly diverging 
sciences of the earth by providing a conceptual base for sound interdisciplinary 
investigations. In this book he demonstrates the even more fundamental 
rapprochement between the physics and the biology of this man-occupied 
planet. 

I hope that other readers will find this synthesis and the separate analyses 
as challenging as I have. The unusually complete citations at the end of each 
chapter should be helpful to the interested reader, and where possible I have 
added information about translations of general availability. I also have given 
(by MGA) the call numbers of abstracts published in Meteorological and 
Geoastrophysical Abstracts (Boston, 1950). 

I take this opportunity to thank my wife for help over rough spots. I want 
to dedicate my own small contribution here to the shining memory of a 
gentleman and a scholar: Csernoii naMmH EopHca JIbBoBma Asepnse- 

DAVID H. MILLER 

eBCKOTO, 1898-1 97 1. 



Preface to the Russian Edition 

Since the 1940’s, investigations of the transformations of solar energy at the 
earth’s surface have been carried out in the Voeikov Main Geophysical Ob- 
servatory in Leningrad. The results of these investigations have been used to 
solve various problems in climatology, hydrology, oceanography, physical 
geography, and other disciplines. The first summary of these investigations 
was published in 1956 in the author’s book, ‘‘TennoBOH EanaHc 3 e ~ ~ o i i  
I’IosepxHocrki” (“The Heat Balance of the Earth’s Surface”). In the years 
since this book was published, many newer works on energy balance em- 
bracing a wider range of problems have been written. 

The principles that govern the heat balance of both the earth’s surface and 
the atmosphere have been studied in these works. In recent years much 
attention has been paid to the problem of the effect of climatic energetic 
factors on biological processes. In the course of these studies a number of 
basic concepts have been found that connect the activity of living organisms 
with climatic conditions. 

The present book is a new summary of investigations in the field of solar 
energy transformations at the earth’s surface and in the atmosphere. Its title 
indicates that special attention is paid to the problems of bioclimatology. As 
the book covers a wide array of problems relating to several fields of natural 
sciences, the statements are necessarily brief and limited to the data of 
investigations conducted in the Main Geophysical Observatory. 

It should be noted that the variety of problems discussed are united by a 
common approach, which is the study of energetic processes forming the 
geographical conditions on our planet. 

The author would like to thank his collaborators, with whom he has for 
many years analyzed the problems set forth in this book. The author also 
thanks all those who have read this material and made comments on it. 

ix 
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Introduction 

The available data concerning contemporary climatic conditions on our 
planet have been obtained as a result of the work of meteorological observa- 
tional systems, which embrace all the regions of the globe. This system includes 
the world network of constantly operating surface meteorological stations, 
which are situated on all the continents (Antarctica included) and on many 
islands. The network includes more than ten thousand climatological stations 
and several tens of thousands of meteorological posts. These stations carry 
out daily observations on temperature and humidity of the air, atmospheric 
precipitation, cloudiness, wind, pressure, and other meteorological elements. 
The observational program at meteorological posts is more limited than 
this, and is often reduced to observations of atmospheric precipita- 
tion. 

In recent decades, the world network of actinometric and aerological 
stations has been brought into the general system of surface meteorological 
observations. The actinometric network includes about a thousand stations 
at which observations of solar radiation and its transformation are con- 
ducted. The aerological network also comprises about a thousand stations, 
where, with the aid of radiosondes and other instruments, observations of the 
meteorological regime in the free atmosphere up to  altitudes of 30 to 40 km 
are carried out. 

Observations obtained at  surface meteorological stations are supplemented 
by observations on the oceans, where a number of weather ships are always 
at work in given regions. As weather ships are comparatively few in number, 
meteorological observations conducted on board merchant ships during their 
trips to different destinations are also of great importance for studying the 
climates of the oceans. 

During recent years, observational data from the earth’s satellites have 
begun to be used in climatological work. These observations permit us to 
learn more about the environment of clouds, the radiational fluxes at  the 

xi 



xii INTRODUCTION 

altitudes of the satellites’ movement, and some parameters of the physical 
condition of the lower layers of the atmosphere. 

The data from meteorological observations give us information about the 
meteorological elements for the period of existence of the observational 
system. As the world network of the principal meteorological stations was 
formed in the middle of the last century, this period is now approximately 
equal to one century. 

On the basis of analyzing the results of meteorological observations and 
studying the climates of the past, it has been established that although the 
climatic conditions on our planet are changing these changes are compara- 
tively slow and, as a rule, hardly noticeable during intervals comparable in 
length with the duration of a man’s life. 

This permits us to consider the contemporary climate as being more or less 
stable and to characterize it by means of norms of the meteorological ele- 
ments (i.e., by mean values) for different seasons and geographical regions. 
The values of such norms and the variability characteristics of meteorological 
elements from year to year are given in reference books on climatology and 
are shown on climatic maps. 

The meteorological regime observed i n  the contemporary epoch is char- 
acterized by a strongly pronounced latitudinal thermal zonality. If in the 
tropics the air temperature near the earth’s surface remains high during the 
whole year, then in moderate latitudes it decreases noticeably in winter time, 
the difference between summer and winter temperatures being especially 
great in continental regions remote from the oceans. The mean annual tem- 
perature in the middle latitudes is thus noticeably lower than the mean 
annual temperature in the low latitudes. 

In polar latitudes with noticeable seasonal changes of temperature, the 
temperature of the air remains low during the whole year, promoting a wide 
spreading of ice cover on land and ocean. 

The cause of differences between the earth’s climates attracted the atten- 
tion of the thinkers of antiquity. As long ago as that time it was established 
that there is a close relationship between climatic conditions and the mean 
altitude of the sun, i.e., the latitude of the terrain. This relationship explains 
the origin of the term climate (from the Greek verb K ~ L V E L V  (to tilt), charac- 
terizing the angle of the solar rays). 

Although in the 18th century M. V. Lomonosov, Benjamin Franklin, and 
other scientists expressed some ideas concerning the regularities of formation 
of climate, the ways of studying the genesis of climate were indicated only at  
the end of the 19th century in the works of a distinguished climatologist and 
geographer, A. 1. Voeikov (1842-1916). He pointed out in his works that for 
explaining the mechanism of climate formation it is necessary to investigate 
the transformation of solar energy incident upon our planet. 
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In the monograph, ‘‘KSIUMaTbI 3eMHOrO mapa, B OCO6eHHOCTH POCCUM” 
(“Climates of the World, Especially Russia”) (1884), Voeikov wrote: 

I believe that one of the most important tasks of physical sciences at 
present is keeping an account book of solar heat received by the globe with 
its air and water envelope. 

W e  want to know how much solar heat is received near the upper 
boundaries of the atmosphere, how much it takes for  heating the atmo- 
sphere, for  changing the state of water vapor added to it, then what amount 
of heat reaches the land and n9ater surface, what amount it takes for heat- 
ing various bodies, what for  changing their state (.from solid to liquid and 
.from liquid to gaseous), in chemical reactions especially connected with 
organic life; then we must know how much heat the earth loses owixlg to 
radiation into space and how this loss occurs, i.e., to what extent by 
lowering the temperature and to what extent by changing the state of 
bodies, especially I4iater. 

Dificulties connected with reaching the goal cannot discourage scientists 
loho are able to understand the great aims of science. It cannot be reached 
in one century. Therefore I thought it useful to set forth the task in all its 
breadth without obscuring the great dificulties connected with its solution. 

For a better appreciation of these thoughts it will be recalled that in the 
time when “Climates of the World” was written, the problem of solar energy 
transformation was but little developed. However, Voeikov not only formu- 
lated correctly the main tasks of studying the earth’s heat balance but also 
expressed the conviction that the great difficulties connected with the solution 
of these tasks will be successfully overcome. 

Further development of meteorology has confirmed the fact that an ex- 
planation of regularities in climate formation is possible only on the basis of 
studying the transformation of solar energy, which is practically the only 
source of energy for all atmospheric processes. It has therefore proved 
necessary to have data on solar energy absorption and its further transforma- 
tions at  the earth’s surface, in the atmosphere, and in the hydrosphere for 
investigating the genesis of climate. Such data have been obtained during the 
process of studying the heat balance of the earth. 

Next to the problem of explaining the genesis of climate, the second 
important task of climatology is the study of the relations between climate 
and other natural processes. 

It is known that climatic conditions produce a deep and often determining 
influence upon the whole complex of natural processes developing in the 
geographical envelope of the earth (the term “geographical envelope” [or 
mantle] unites the atmosphere, the hydrosphere, and the upper layers of the 
lithosphere). In the 19th century it was found that the hydrological regime of 
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the land depends largely on climatic factors; for this reason Voeikov called 
rivers “a  product of climate.” A similar conclusion relating to soils, the 
distribution of which proved to be closely connected with climatic condi- 
tions, was drawn by Dokuchaev. The dependence of geographical distribu- 
tions of plants and animals on climate has been established in works on 
geobotany and zoogeography. A little later such dependency was found for 
indices of exogenous geomorphological processes, changing the surface of 
the continents. 

It was pointed out in the works of the outstanding geographer, A. A. 
Grigor’ev (1883-1968), that all the natural processes developing in the. geo- 
graphical envelope are closely interconnected and represent a single complex, 
including climatic, hydrologic, soil, biological, and exogenous geomorpho- 
logical processes. Grigor’ev considered this complex to be a single physico- 
geographical process, forming the geographical envelope of the earth. 

Grigor’ev noted that climatic factors play a leading part in the physico- 
geographical process as they determine the conditions for transforming solar 
energy, the main source of energy for all the processes in the geographical 
envelope. He pointed out that interrelations between processes developing 
within the geographical envelope are, to a considerable extent, based on the 
exchange of energy and a number of substances (water, carbon dioxide, 
nitrogen, and others) between the atmosphere, the hydrosphere, the litho- 
sphere, and living organisms. For the purpose of studying these interrelations 
Grigor’ev suggested that data on energy balances and the mass balances of 
various categories of mineral and organic substances should be used. 

During the process of investigations aimed at studying geographical 
processes in various regions, Grigor’ev applied the method of balances for 
characteristic features of geographical zones. Notwithstanding the great 
difficulty associated with the lack of factual material, Grigor’ev managed to 
present in these works not only a general picture of income and expenditure 
of energy and some categories of matter in various geographical regions, 
but also established, on the basis of this picture, the general regularities 
of geographical zonality. 

Grigor’ev’s works suggested the great possibilities of quantitative study of 
the whole complex of geographical processes on the basis of investigations of 
the balances of energy and different kinds of mineral and organic sub- 
stances. Investigations of this kind are of great importance for the develop- 
ment of physical geography as a single science. 

During recent decades the descriptive sections of the geographical disci- 
plines reached a certain degree of completeness, and therefore a problem 
of further development of the physico-geographical sciences arose. This 
problem has been more successfully solved by particular geographical disci- 
plines, which have gradually turned from describing the external features of 
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natural processes and phenomena to explaining their internal regularities, 
using for this purpose the materials of adjacent sciences (namely, geo- 
physics, geochemistry, biology, and others). Such a reorientation of the geo- 
graphical sciences has been accompanied by their increasing differentiation 
and separation, which together with some positive results have led to diffi- 
culty in studying complex problems and to a certain disparity between the 
rapid progress in the field of the separate geographical disciplines and the lag 
in studying the problem of physical geography as a whole. It is probable that 
this lag has appeared not only as a result of the objective difficulty of studying 
complicated interdisciplinary regularities of geographical processes, but also 
to some extent is an inevitable consequence of a progressive fundamental 
specialization of particular geographical disciplines. This specialization has 
led to an enormous accumulation of factual material within the limits of each 
geographical discipline and to a considerable complication of investigative 
methods. Therefore it has become difficult for individual scientists to use 
actively the materials of adjacent geographical sciences. This situation has 
made it difficult to study the general problems of physical geography. 

The ways of overcoming the difficulty indicated in the works of Grigor’ev 
have pointed out the perspectives of reorientation of physical geography, 
which are being realized in contemporary investigations. 

Proceeding from the concept of a single complex of geographical processes 
connected with different forms of energy and materials exchange, it is pos- 
sible to pose the question of quantitative explanation of the fundamental 
features of these processes on the basis of general laws of the exact 
sciences. 

The first step in solving this question is the working out of a theory of 
climate that permits us to investigate the transformation of solar energy in 
the geographical mantle and to connect the geographical distribution of 
meteorological elements with the climate-forming factors. Modern investi- 
gations have given a series of results on this problem, relating both to cli- 
matic conditions of our time and to the climates of the geological past. 

Another direction in working out a physical theory of geographical 
processes aims at  creating a theory of the hydrologic regime, which for land 
conditions must explain the regularities of the spatial-temporal distributions 
of such water-balance components as run-off and evaporation. The basis of 
this theory is the relationship of water-balance components with climatic 
factors, which have long been studied in hydrology. In works that have been 
done recently, the relations of components of the water balance to com- 
ponents of the heat balance have been established, both for mean annual 
values and for changes during the annual cycle. The use of these relations 
permits us to determine from climatic data the annual values of evaporation 
and run-off in areas that differ in their climatic conditions. 
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The task of explaining physically the geographical distribution of the 
vegetation cover is very difficult because for its solution it is necessary to take 
into account complex biological laws. In earlier investigations, the analysis 
of this problem was reduced to establishing relations between the boundaries 
of geobotanical zones and climatological factors, including the components 
of the heat and water balances. More recently, the possibility of studying the 
dependence of the productivity of vegetation cover on climatological factors 
has been elucidated on the basis of the physical laws of photosynthesis. 
Analysis of this problem may be important not only for illuminating the 
physical mechanism of zonal changes in vegetation cover but also for ex- 
plaining the quantitative regularities of soil formation, because productivity 
of vegetation is one of the important factors in the soil-forming process. This 
manner of investigation would be a supplement to numerous works that aim 
at establishing quantitative relations between zonal characteristics of soil 
properties and climatic factors. 

We should also indicate that special attention paid recently to quantitative 
regularities that connect geographical features of a process with external 
factors, particularly climatological ones, has become characteristic of in- 
vestigations of other geographical processes (e.g., in studying the problems 
of zoogeography). 

All this permits us to hope that relatively soon we may obtain a complete 
system of quantitative interrelations determining the main features of the 
whole complex of natural processes, on the basis of an accounting of in- 
coming solar energy and the properties of mineral and organic substances in 
the geographical envelope. This system will include the equations of the 
theory of climate and the theory of hydrologic processes. The solutions of 
these equations, by determining conditions of the heat and water regime, 
would become a base for quantitative study of soil, biogeographical, and 
other geographical processes. 

In this system of quantitative relationships, semiempirical and empirical 
relations will take an important place along with the established methods of 
physical deduction, especially when studying processes that are substantially 
influenced by biological factors. It should be borne in mind that physical 
methods of investigation can also be widely used when studying the bio- 
geographical processes, since these processes depend to a great extent upon 
external physical conditions, especially climatic factors. When studying such 
cross-discipline generalities, geophysical methods of investigation must be 
well coordinated with an accounting of the influence of biological factors. 

Working out a complete system of quantitative relations interconnecting 
the characteristics of geographical processes will be of great importance for 
the further progress of physical geography. Such a system of relations can be 
used for many a practical purpose, particularly for calculating the changes in 
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the whole complex of natural conditions resulting from action affecting 
individual geographical processes. 

The system can also be applied in working out problems of paleogeography, 
by introducing into the system of relations the additions necessary for calcu- 
lating the nonstationary character of the processes under investigation. 

We think that the development of such investigations will further the con- 
version of physical geography from a descriptive science into an exact science. 

Although a general solution of the problem of constructing a system of 
quantitative relations determining the dynamics of the whole complex of 
natural processes in the geographical envelope is a thing of the future, we 
have at  present a number of investigations in which individual parts of this 
problem are considered. 

In this monograph are set forth the results of such investigations, based 
mainly on the results of research accomplished in the Voeikov Main Geo- 
physical Observatory. 

In the opening chapters, the regularities of solar radiation transformation 
in the geographical envelope are considered, and some data concerning the 
heat balance of the earth are presented. In the following chapters are given 
the results of investigations into the genesis of climate, based upon studies of 
the heat balance. The concluding part of the book is dedicated to investiga- 
tions of the influence of climatic factors on natural processes, in which data 
on the balances of water, energy, carbon dioxide, and organic matter are used. 
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I 

Solar Radiation and Its Transformations 

1. Solar Radiation 

The sun is the star closest to the earth and belongs to a class of yellow 
stars-dwarfs. The diameter of the sun equals 1.4 million kilometers, and the 
mean distance between the sun and the earth is 149.5 million kilometers. As 
a result of nuclear reactions that occur in the sun, the temperature of its 
surface is approximately 6000", which causes the radiation of a considerable 
amount of energy by the sun. 

The radiation coming from the sun to the earth is the only form of incoming 
radiant energy that determines the heat balance and the thermal regime of the 
earth. Radiational energy incident upon the earth from all other celestial 
bodies is so small that it does not noticeably influence the processes of heat 
exchange occurring upon the earth. 

The spectrum of solar radiation corresponds to that of a black body, which 
is described by Planck's formula. In accordance with the temperature of the 
sun's radiating surface, the maximum radiation flux is observed at the wave- 
length of approximately 0.45 pm, and most of the energy radiated by the sun 
falls in the wavelength interval from 0.3 to 2.0 pm. 

Moving away from the sun, the intensity of radiation decreases in inverse 
proportion to the square of the distance. As the earth moves around the sun 
in its elliptical orbit, the intensity of solar radiation falling on the external 
boundary of the atmosphere changes during the year according to the change 
of distance between the earth and the sun. 

The smallest distance between the earth and the sun is observed at the 
1 
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beginning of January, when it equals 147 million kilometers. The greatest 
distance, reached at the beginning of July, equals 152 million kilometers. 

The flux of solar energy in one minute across an area of 1 cm2 placed 
perpendicular to the sun’s rays, beyond the atmosphere, and located at  the 
mean distance between the earth and the sun, is called the solar constant. 
With the changes in the distance between the earth and the sun, the actual 
values of the solar energy flux at  the outer boundary of the atmosphere vary 
from the value of the solar constant. This variation amounts to 3.57,. 

For a long time, the value of the solar constant was considered approxi- 
mately equal to 1.9 cal cm-2 min-l. Then it was established that a noticeable 
amount of solar energy is absorbed in the upper layers of the atmosphere, 
and as a result the value of the solar constant was considered to be near 2.0 
cal cm-2 min-l. In organizing the International Geophysical Year, it was 
decided to consider the value of the solar constant to be equal to 1.98 cal 
cm-2 min- (Radiation Instruments and Measurement, 1958). Observations 
made recently (Kondrat’ev and Nikolskii, 1968; Drummond and Hickey, 
1968) give a slightly smaller value of the solar constant, namely, 1.94-1.95 
cal cm-2 min-l. 

We should indicate that for many investigations it is more important to 
know, not the true value of the solar constant, but its conditional value, 
corresponding to the amount of radiation that reaches the upper layers of the 
troposphere. In contemporary studies, this value of the conditional solar 
constant is usually considered equal to 1.90-1.92 cal cm-2 min-l. 

The question of the stability of the solar constant with time is of great 
interest. This question has been discussed in a number of studies-many 
authors considering that if changes in the solar constant do occur, they do not 
exceed the accuracy of the available measurements [refer to Allen (1958), 
and others]. In addition, it should be borne in mind that small variations of 
the solar constant of the order of 1% or even 0.17, from its value may 
produce a certain influence on weather and climate. For this reason, the 
question of the stability of the solar constant deserves greater attention. 

Knowing the value of the solar constant, one can calculate how much 
energy penetrates to the earth’s surface in different latitudes in the absence of 
atmospheric influences upon radiation. We shall consider here the main 
points of such a calculation [refer to Milankovich (1930)l. 

The flux of solar energy reaching the earth’s orbit equals S0/l2, where So is 
the solar constant, and 1 is the ratio of the distance between the earth and the 
sun at  a given moment of time to the mean value of this distance. 

Upon an element of the horizontal surface of the earth there falls an 
amount of radiation equal to 

(1.1) 
SO Q, = cos 20, 
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where z, is the angle between the direction of the sun and the zenith (the 
zenith angle). 

The value of the zenith angle depends on latitude, time of day, and season. 
In order to establish these dependence relations, we shall use a scheme pre- 
sented in Fig. 1. 

Fig. I The celestial sphere. 

The position of the point for which the calculation of radiation is being 
performed corresponds in this picture to the center of the sphere M. The point 
S represents the position of the sun, Z is the zenith, and the line MN shows 
the direction of the earth's axis. The plane of the circle HH' represents the 
horizon apparent to the observer at point M. The circle AA', perpendicular 
to the line MN, lies in the plane of the celestial equator. The arc passing 
through points N and S cuts the celestial equator at point B, with its section 
BS corresponding to the angle of the sun's declination 6,. 

As is seen from this figure, the arc NS in the spherical triangle NSZ 
corresponds to angle &r - 6, , the arc Z S  to the angle z, , and the arc ZN to 
the angle & - 4, where 4 is the latitude of the point in question. Designating 
the spherical angle ZNS by the letter w (the hour angle of the sun), we derive 
the relation 

cos z, = sin 4 sin 6, + cos 4 cos 6, cos w. (1.2) 

Thus 

SO 
1 QS = (sin 4 sin 6, + cos 4 cos 6, cos w). 

It follows from this relation that Qs = 0 with 

cos wo = -tan C$ tan 6,. (1.4) 
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This formula can be used for calculating the time of sunrise and sunset and 
the duration of daylight. Equation (1.4) also permits us  to determine a 
position of the great circle separating the illuminated part of the earth from 
the dark part. 

The amount of energy received by the earth as a whole is equal to the 
product of the area of this circle multiplied by the value of the radiational 
flux at a given distance, i.e., (SO/la)we2, where re is the earth's radius. To 
determine the mean quantity of energy incident upon a unit area of the earth's 
surface, one must divide the last value by the surface area, which is equal to 
47rre2. Thus, the mean value of the incoming solar energy upon the unit area 
of surface is equal to &(SO/l2). 

In order to determine the solar energy income in different latitudinal zones, 
one must calculate the sums of the right side of Eq. (1.3) for different intervals 
of time. 

From Eq. (1.3) we define 

dQs = ( M  + NCOS w )  dt, 

where 

SO SO 
12 12 

M = - sin 4 sin S,, N = - cos 4 cos S,, t = time. 

Taking into account the fact that w = ( 2 ~ / 7 ) t  (7 is the duration of daylight), 

(1.6) 

we get the equation 
7 

dQs = ( M  + NCOS W )  2 ; ; d ~ .  

Integrating the left and right sides of this equation from - wo to + wo , 
we define the diurnal sums of radiation incident upon the earth's surface 
under a transparent atmosphere, 

from which it follows that 

(1.8) 7 so 
n l  Qsr = - (wo sin 4 sin So + sin wo cos 4 cos S,) . 

In calculations of Qsr by this formula, the value of wo is determined from 
Eq. (1.4). 

For high latitudes, during the twenty-four hours when the sun does not 
set, one should consider wo = T. Then 

" 
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One can calculate the diurnal amounts of incoming solar radiation at  
various latitudes in different seasons by Eqs. (1.8) and (1.9). Some results of 
such calculations made for So = 2 cal cmW2 min-l are given in Table 1. 

As seen from Table 1, the largest diurnal quantities of radiation occur over 
the poles at the summer solstice. I t  should be noted that at  these periods with 
a shift toward lower latitude, there is some reduction of quantity of radiation, 

TABLE 1 
DIURNAL TOTALS OF SOLAR RADIATION INCIDENT UPON THE SURFACE 

OF THE EARTH UNDER A COMPLETELY TRANSPARENT ATMOSPHERE (kcal 

Latitude 
(degrees) Mar. 21 May6 June22 Aug. 8 Sept. 23 Nov. 8 Dec. 22 Feb.4 

- - - - 0.80 1.11 0.79 - 90 N 
80 0.16 0.78 1.09 0.78 0.16 - - - 
70 0.32 0.77 1.04 0.76 0.31 0.02 - 0.02 
60 0.46 0.83 1.01 0.83 0.46 0.15 0.05 0.15 
50 0.59 0.89 1.02 0.89 0.59 0.30 0.18 0.30 
40 0.71 0.94 1.02 0.93 0.70 0.44 0.33 0.45 
30 0.80 0.96 1.00 0.95 0.79 0.58 0.48 0.59 
20 0.87 0.95 0.96 0.94 0.86 0.71 0.62 0.71 
10 0.91 0.92 0.90 0.91 0.90 0.81 0.76 0.82 
0 0.92 0.86 0.81 0.86 0.91 0.90 0.87 0.90 

10 0.91 0.78 0.71 0.78 0.90 0.96 0.96 0.96 
20 0.87 0.68 0.58 0.67 0.86 0.99 1.03 1.00 
30 0.80 0.56 0.45 0.56 0.79 0.99 1.07 1.00 
40 0.71 0.43 0.31 0.42 0.70 0.97 1.09 0.98 
50 0.59 0.28 0.17 0.28 0.59 0.93 1.09 0.94 
60 0.46 0.14 0.05 0.14 0.46 0.87 1.08 0.87 
70 0.32 0.02 - 0.02 0.31 0.80 1.11 0.81 
80 0.16 - - - 0.16 0.81 1.17 0.82 

- - - 0.83 1.18 0.83 90 S - - 

then a small secondary maximum. This gives way to the zones in which the 
quantity of radiation steadily declines to zero. At the equinoxes, the maximum 
quantity of radiation falls on the equator; with increasing latitude, the 
quantities of radiation decrease at  first slowly and then more and more 
rapidly. 

For calculating the monthly, seasonal, and annual quantities of radiation, 
one can use the formulas above, taking into account that 6, and I must be 
considered variable in this case. An appropriate calculation requires rather 
bulky computations; therefore, we shall here give an account only of the 
results of determining the quantities of radiation in the summer and winter 
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half-years at various latitudes (Table 2). It should be borne in mind that the 
quantity of radiation in each half-year at a given latitude of the Northern 
Hemisphere equals the quantity of radiation at the same latitude in the 
Southern Hemisphere. 

In reality, the atmosphere is not a completely transparent medium for solar 
radiation. A noticeable part of the radiation coming from the sun is absorbed 
and scattered in the atmosphere, and also is reflected into space. Solar radia- 
tion is especially influenced by clouds; but even when cloudiness is absent, 
solar radiation is changed greatly in the atmosphere. 

TABLE 2 
SUMS OF SOLAR RADIATION INCIDENT UPON THE SURFACE OF THE EARTH 

UNDER A COMPLETELY TRANSPARENT ATMOSPHERE (kcal Cm- ') 

Latitude 
0" 10" 20" 30" 40" 50" 60" 70" 80" 90" 

Summer 
half-year 160.5 170 175 174 170 161 149 139 135 133 
Winter 

Year 321 317 304 282 254 220 183 152 138 133 
half-year 160.5 147 129 108 84 59 34 13 3 0 

Solar radiation is absorbed in the atmosphere by water vapor, water 
droplets, carbon dioxide, ozone, and dust. Diffusion of solar radiation is 
affected both by the molecules of air and by various admixtures-dust, 
water drops, and so forth. 

The flux of direct solar radiation that passes through the atmosphere 
depends on the transparency of the atmosphere and the sun's altitude, which 
defines the length of the path of the solar rays in the atmosphere. 

For a quantitative accounting of this effect, the following considerations are 
usual. 

Let us consider that the reduction of the flux of direct solar radiation S, 
of wavelength A, over the path segment dx is proportional to its initial value, 
i.e., 

dsA = - k,SA dx, (1.10) 

where kA is the coefficient of reduction, taking into account the effect of 
absorption and scattering processes. 

Hence, after integrating for values of x from 0 to 00, one can derive a 
formula 

(1.11) 
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where QsA is the corresponding flux of radiation at  the external boundary of 
the atmosphere. 

This formula defines the conditions of reduction of the solar radiation flux 
of a given wavelength when it passes through the atmosphere. Equation (1.1 1) 
can be written in the form 

SA = QSAPA~ (1.12) 

the value of PA (equal to exp[-jom k, dx])  being called the coefficient of 
atmospheric transparency. 

If a flux of radiation is directed at a slant with an angle of zo to the vertical, 
then the element of the ray's path dx equals sec zu dh, where h is the vertical 
coordinate. From this we derive the formula 

S, = QsA exp( -sec z, lm kA dh),  (1.13) 

(1.14) 

In real conditions, as a consequence of the earth's sphericity, the angle 
between the solar ray and the vertical turns out to be different in different 
latitudes. Besides, the ray usually becomes distorted in the atmosphere 
because of refraction. Therefore, the two last formulas are approximate 
and in more accurate calculations must be replaced by the expression 

SA = QsAPAm(zo), (1.15) 

where rn(z,) is the optical mass of the atmosphere. 
At zenith angles from 0 to 60°, the optical mass is close to the value of 

sec zo , but at  large angles, its values are noticeably smaller than the secant. 
As observational results show, values of transparency coefficients are 

different for different wavelengths. 
In actinometric investigations, the mean value of the transparency coeffi- 

cient for the total flux of solar energy is often used. In this case, the following 
formula is applied: 

S = QsP"'(zd. (1.16) 

In contrast to the value of P A ,  the value of P turns out to depend noticeably 
on optical mass (Forbes effect). This dependence is explained by the fact that 
when solar rays pass through the atmosphere, their spectral composition 
changes in accordance with the differential reduction of rays of different 
wavelengths. Therefore, the value of P increases with the increase of path 
length in the atmosphere. 
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More satisfactory results are obtained in calculating the reduction of solar 
radiation in the atmosphere from a simple formula of Kastrov (1928), 

(1.17) 

where c is a dimensionless coefficient defining atmospheric transparency. 
The mean values of the coefficient P in middle latitudes at  small values of 

m are usually equal to 0.7 to 0.8. The coefficient c in Kastrov’s formula is a 
more sensitive index of transparency and changes over much wider limits. 

For evaluating atmospheric transparency, the index of turbidity, proposed 
by Makhotkin (1957), which corresponds to the number of normal atmos- 
pheres and which provides an observed value of radiation flux at a given 
altitude of the sun. deserves attention. 

As has been pointed out above, in addition to conditions of atmospheric 
transparency, cloudiness also greatly influences the value of direct radiation 
reaching the earth’s surface. With more or less dense clouds covering the sun, 
direct radiation is zero. 

The greatest value of the direct radiation flux is observed with a cloudless 
sky and a highly transparent atmosphere. In such conditions, the flux of 
direct radiation incident on a perpendicular surface (the intensity of solar 
radiation) at sea level can amount to 1.5-1.7 cal cm-2 min-l. Average after- 
noon values of this flux in middle latitudes usually equal 1.0-1.4 cal cm-2 
min-l. 

As the altitude of the sun decreases during the diurnal cycle, the direct 
solar radiation is noticeably reduced in accordance with the increase in 
optical mass. 

The amount of scattered radiation reaching the earth’s surface changes 
within wide limits, mainly in accordance with conditions of cloudiness and 
the sun’s altitude. The theoretical calculation of this radiation flux is rather 
complicated and does not give precise results. The available observational 
data permit us to think that in many cases the flux of scattered radiation 
is comparable in value with the flux of direct radiation incident on a horizontal 
surface. The greatest values of scattered radiation are observed when cloudi- 
ness is present. Scattered radiation is greatly influenced by the reflectivity of 
the earth’s surface. In particular, scattered radiation increases appreciably in 
the presence of snow cover, which reflects a considerable amount of solar 
energy. 

The spectral composition of solar radiation reaching the earth’s surface 
differs greatly from that of radiation outside the atmosphere. 

The energy distribution in the solar spectrum obtained from the ground 
observational data is represented by the curve B in Fig. 2. For comparison, 
the energy distribution in the spectrum outside the atmosphere is given 
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(curve A).  Comparison of these two curves shows that ultraviolet radiation 
(wavelengths less than 0.4pm) is to a considerable extent absorbed in the 
atmosphere and does not reach the earth’s surface. It is known that the 
absorption of the ultraviolet radiation is mainly caused by atmospheric 
ozone. As seen in Fig. 2, the absorption of solar radiation in the domain 
of large wavelengths is very uneven, which indicates the heterogeneity of the 
spectral transparency of the atmosphere. 

Wavelength ( r rn)  

Fig. 2 Energy distribution in the solar spectrum. 

The greatest amount of energy in the solar spectrum falls in the domain 
of the visible part of the spectrum (the wavelengths from 0.40 to 0.74 pm). 
Along with this, a considerable amount of energy is transmitted in the form 
of infrared radiation (wavelengths exceeding 0.74 pm). Ultraviolet radiation is 
relatively small; however, it has a large influence on various biological 
processes. 

The general picture of the basic solar energy transformations in the geo- 
graphical envelope of the earth is as follows. 

The flux of solar radiation at a mean distance of the earth from the sun is 
approximately equal to 1000 kcal cm-a yr-l. Because of the spherical shape 
of the earth, there comes to the unit area of the external atmospheric bound- 
ary, on the average, one fourth of the total flux-about 250 kcal cm-2 yr-l, 
of which approximately 170 kcal cm-2 yr-l are absorbed by the earth as a 
planet. It is significant that the greater part of the total amount of absorption 
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represents absorption by the earth’s surface, while the atmosphere absorbs 
a considerably smaller fraction. 

The earth‘s surface, heated by absorbing solar radiation, is a source of 
emitted long-wave radiation, which heats the atmosphere. Water vapor in the 
atmosphere, dust, and various gases absorbing long-wave radiation hamper 
the long-wave radiation going out from the earth’s surface. Thus, a great 
part of the emission from the earth’s surface is compensated by the counter- 
radiation of the atmosphere. 

The difference between the earth’s surface emission itself and the counter- 
radiation of the atmosphere is called the net long-wave radiation. The value 
of net long-wave radiation is usually several times smaller than the flux of 
long-wave emission from the earth’s surface that would be observed if the 
atmosphere were completely transparent to long-wave radiation. 

The algebraic sum of the radiative energy fluxes coming to the earth’s 
surface and going out from it is called the radiation budget or balance at the 
earth’s surface. It is evident that the value of the radiation budget is equal to 
the difference between the amount of direct and scattered short-wave radia- 
tion absorbed by the surface and the value of the net long-wave radiation. 

On the average for the whole surface of the earth, the net long-wave 
radiation is much less than the absorbed short-wave radiation. This is a 
consequence of the so-called greenhouse effect, that is, the result of a relatively 
great transparency of the atmosphere for short-wave radiation in comparison 
to a smaller transparency for long-wave emission. Therefore, the mean 
radiation balance at the earth‘s surface is a positive value. 

The energy in the radiation budget or balance at  the earth‘s surface is 
expended on heating the atmosphere by means of turbulent heat conductivity, 
on evaporation, on heat exchange with the deeper layers of the hydrosphere 
or lithosphere, and so on. The quantitative characteristics of all the forms of 
solar energy transformation a t  the earth’s surface are comprised in the 
equation of the heat balance at  the earth’s surface, which includes the algebraic 
sum of energy fluxes incident upon and outgoing from the earth’s surface. 
According to the law of conservation of energy, this sum is equal to zero. 

The radiation and heat balances at the earth’s surface are definitely con- 
nected with the radiation and heat balances of the atmosphere. The earth as a 
planet receives heat from space and gives it back only in the form of radiation. 
As the mean temperature of the earth changes little in time, it is evident that 
the radiation balance of the earth (the difference between absorbed radiation 
and radiation emitted into space) is equal to zero. 

Therefore, the radiation budget of the atmosphere, which equals the 
difference between the planet Earth‘s radiation balance and the radiation 
budget at the earth’s surface, turns out, on the average, to be negative, 
and is equal in absolute value to the radiation budget at  the earth’s surface. 
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In the heat balance of the atmosphere, the negative radiation budget is com- 
pensated by a supply of energy resulting from condensation of water vapor 
in the formation of clouds and precipitation, and by a supply of [sensible] 
heat from the earth’s surface resulting from the turbulent heat conductivity 
of the lower layers of the atmosphere. 

Along with the processes of redistributing solar energy in the vertical 
direction, strong processes of horizontal redistribution of heat are developed 
in the geographical envelope. Especially important among these processes is 
the transfer of thermal energy in the atmosphere and the hydrosphere between 
high and low latitudes, determined by the heterogeneity of radiative heating 
of the spherical surface of the earth. This transfer is carried out in the form of 
macroturbulent heat exchange and heat transfer by mean motion, and also 
(in the atmosphere) in the form of phase transformations of water. 

The enumerated processes of solar energy transformation, dependent on 
radiative factors, in their turn significantly change the radiation regime, 
which depends substantially on circulations in the atmosphere and hydro- 
sphere, phase transformations of water, and so forth. Cloudiness and snow 
(or ice) cover on the earth’s surface produce an especially great effect on the 
radiation regime. 

Beside the “first order” processes of transformations of solar energy, 
which substantially change the radiation and heat regimes, a number of solar- 
energy transformations, involving comparatively small amounts of heat, and 
not influencing the radiation and heat regimes directly, are developed in the 
geographical envelope. These processes are usually of less importance for 
meteorological investigations ; however, some of them are very interesting for 
other natural sciences, such as, for example, the process of photosynthesis 
connected with transformation of radiant energy into a comparatively stable 
form of chemical energy and formation of organic matter. 

The basic source of data for studying all the forms of solar-energy trans- 
formation in the geographical envelope is the material from the radiation 
and heat balances. Especially important for investigation of transformations 
of solar energy are data on the radiation and heat balances at  the earth‘s 
surface, which are the main source of energy for the geographical envelope. 

2. The Radiation Balance 

The radiation balance (or budget) of the earth’s surface R is equal to the 
difference between the absorbed solar radiation and the net long-wave 
radiation, 

R = Q(1 - a) - I, (1.18) 
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where Q is the total short-wave radiation (the sum of direct and scattered 
radiation), a is the albedo (the reflectivity of the earth’s surface for total 
short-wave radiation, expressed in fractions of unity), and I is the net long- 
wave radiation, i.e., the difference between the radiation emitted by the 
earth’s surface itself and the absorbed counterradiation of the atmosphere. 

One can similarly determine the radiation balance of the earth-atmos- 
phere system R, , i.e., the radiation balance of the vertical column through 
the whole thickness of the atmosphere to the earth‘s surface. 

We obtain in this case 

Rs = QS<l - as) - Is, (1.19) 

where Qs is the solar radiation incident on the outer boundary of the atmos- 
phere, as is the albedo of the earth-atmosphere system, and I, is the long-wave 
emission from the outer boundary of the atmosphere into space (outgoing 
emission). 

The radiation balance or budget of the atmosphere R, equals the difference 
between the values of R, and R.  Using Eqs. (1.18) and (1.19), we get 

R, = QS(l - a,) - Q(1 - a) - (Is - I). (1.20) 

It has often been indicated [Budyko (1956), and elsewhere] that the term 
“radiation balance” [for “radiation surplus” or “radiation deficit ”1 is not 
quite satisfactory because the expression “balance” is not used here in a con- 
ventional sense, and means calculation of income and expenditure of only 
one category of energy-that of radiation. Application of this expression is 
especially awkward when studying the heat balance, as these similar terms 
have an entirely different physical content. However, it is difficult now to 
give up this expression, because it is generally used in all the hydrometeorolo- 
gical disciplines. 

The conditions of reflection of solar radiation from the earth‘s surface are 
defined by the value of albedo, which is equal to the ratio of the value of 
reflected radiation to incoming. Theoretically, the values of albedo might 
vary from one for a completely white and reflective surface to zero for an 
absolutely black surface, which completely absorbs the sun’s rays. 

Available observational materials show that the albedo of natural under- 
lying surfaces does vary within wide limits, their variations embracing almost 
the full possible range of values of reflective ability of various surfaces. 

In experimental investigations of reflection of solar radiation, values of 
albedo for all more or less widespread natural underlying surfaces have been 
found. First of all, it follows from these investigations that the conditions of 
solar radiation absorption on land and water differ notably. 

The greatest values of albedo are observed for clean and dry snow, where 
they may reach 0.9G0.95. As snow cover is rarely absolutely clean, the 
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mean values of snow albedo are in most cases less than the noted value, 
and equal to 0.70-0.80. The albedo of wet or dirty snow may be still less, 
often reduced to 0.40-0.50. 

In the absence of snow, the largest albedo on the land surface is observed 
in desert regions where the surface of the soil is covered by a layer of crystal 
salts (the bottoms of dry salt lakes). In these conditions, the value of albedo 
may reach 0.50. Slightly lesser values of albedo have been observed in the 
areas of deserts barren of any vegetation, with light-colored sandy soils. It 
must be indicated, however, that the albedo of deserts may vary within wide 
limits according to the color of soil. 

The albedo of a damp soil is usually less than that of a similar dry soil. For 
damp chernozem soils, the albedo is reduced to very small values, in some 
cases as low as 0.05. 

The albedo of natural surfaces with a dense vegetation cover varies within 
comparatively small limits, basically from 0.10 to 0.20-0.25. Some observa- 
tional data show that the albedo of forest (especially needleleaf forest) is in 
most cases slightly less than the albedo of low vegetation of the meadow type. 
Such a phenomenon is probably explicable by better conditions of absorption 
within the limits of deep vegetation cover, where there is an increased prob- 
ability that solar radiation fluxes having penetrated the vegetation will be 
absorbed after their first reflection from elements of the vegetation. 

It follows from these data of albedo for various natural surfaces that albedo 
in many climatic regions must vary noticeably during the annual cycle. Such 
variations are important for the annual cycle of the radiation balance. 

The conditions of solar radiation absorption by water bodies differ from 
those of absorption at the land surface. More or less clean water is com- 
paratively transparent for short-wave radiation, and so the sun’s rays pene- 
trating the upper layers of a water body are widely scattered and then to a 
considerable extent absorbed. 

It is easily understood that the process of solar radiation absorption in 
such conditions should depend on the solar altitude. If the sun stands high, 
a great part of the incoming radiation penetrates the upper layers of water 
and is in general absorbed there. At low altitudes of the sun, the rays incident 
on the water surface at small angles are specularly reflected and do not 
penetrate into the depths of the water body. This leads to an abrupt increase 
of the albedo. 

As theoretical calculations and experimental investigations show [refer to 
Kondrat’ev (1965)], the albedo of water surfaces for direct radiation varies 
within a wide limit, in dependence on the sun’s altitude. 

The character of this dependence is seen from the graph in Fig. 3. At large 
altitudes of the sun, the albedo for direct radiation does not exceed several 
hundredths, while with the sun approaching the horizon the albedo reaches 
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values of the order of several tenths. The albedo of a water surface for 
scattered radiation apparently varies much less. Its value is about 0.10. 

The albedo of the earth-atmosphere system is of a more complicated 
nature than that of the earth's surface. 

Solar radiation received by the atmosphere is partially reflected as a result 
of back-scattering. With clouds present, a considerable fraction of radiation 
can be reflected from their upper surfaces. With complete or partial absence 
of clouds, the albedo of the earth-atmosphere system depends essentially on 
the albedo of the earth's surface. 

4 
Fig. 3 Dependence of water-surface albedo for direct-beam radiation on the altitude 

of the sun. 

The albedo of clouds depends on the thickness of their layers, its mean value 
being equal to 0.40-0.50. The albedo of the earth-atmosphere system without 
clouds is usually greater than that of the earth's surface. With clouds present, 
it is also usually greater than the albedo of the earth's surface, except in those 
cases when the surface is covered by more or less clean snow. 

Together with the reflection of short-wave radiation, long-wave radiation 
is a no less important form of radiative energy outgo. The basic features of 
the process of heat transfer by long-wave radiation can be presented in the 
following form. 

Radiation from an absolutely black body according to the Stefan- 
Boltzmann law equals uT4, where T is the temperature in the Kelvin scale, 
and u is the Stefan-Boltzmann constant (equal to 8.14 x cal cm-2 
min-l deg-4). 

Available experimental data show that radiation from the earth's natural 
surfaces is, in general, rather close to radiation from a black body at the 
corresponding temperature, the ratio of the observed values of radiation to 
black-body radiation in most cases amounting to 0.90-1 .OO. 
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The greatest intensity of long-wave radiation from the earth’s surface 
occurs in different wavelengths, depending on the temperature of the radiating 
surface. The principal part of the radiated energy occurs in wavelengths 
from five to several tens of micrometers. 

A considerable part of the long-wave radiation flux emitted by the earth’s 
surface is compensated by the counterradiation of the atmosphere. 

The long-wave emission of the atmosphere without clouds present is, in 
general, determined by the presence of water vapor and carbon dioxide. The 
effect of the atmospheric ozone is usually less important. 

Water vapor, as well as carbon dioxide, absorbs long-wave radiation mainly 
in certain spectral areas. In accordance with this pattern, the long-wave 
emission from the atmosphere is also rather heterogeneous in spectral 
distribution. 

The most intensive absorption of radiation by water vapor takes place in 
the range of wavelengths from 5 to 7.5 pm, while in the spectral range from 
9 to 12 pm, absorption of radiation is relatively small. Carbon dioxide has 
several bands of absorption, of which the band with wavelengths from 13 to 
17 pm is of greatest importance. 

It must be indicated that the carbon dioxide content in the atmosphere 
varies comparatively little, while the amount of water vapor may vary by a 
large amount in dependence on meteorological conditions. Therefore, varia- 
tion of atmospheric humidity turns out to be a substantial factor influencing 
radiation from the atmosphere. 

Usually the counterradiation of the atmosphere increases greatly with the 
presence of clouds. The clouds of lower and middle layers are, as a rule, 
sufficiently dense and radiate like an absolutely black body at the same 
temperature. Under such conditions, the net long-wave radiation is mainly 
defined by the difference between the temperature of the earth‘s surface and 
that of the lower surface of the clouds. If this difference is small, the net 
radiation also approaches zero. 

High clouds, because of their small density, usually radiate less than a 
black body. Taking into account the fact that the temperature of such clouds 
is comparatively low, one can conclude that their effect on net long-wave 
radiation is negligible in comparison with the clouds of lower and middle 
layers. 

Thus, the net long-wave radiation at the earth’s surface depends primarily 
on the temperature of the earth‘s surface, the water content of the air, and 
cloudiness. In response to these factors, its value may vary from close to zero 
up to several tenths of a calorie per square centimeter per minute. 

Radiation from the earth-atmosphere system is formed by that part of the 
radiation emitted by the earth’s surface that passes through the atmosphere, 
and by radiation from the atmosphere. Without clouds, emission from the 



16 1 SOLAR RADIATION AND ITS TRANSFORMATIONS 

earth's surface at wavelengths from 9 to 12 pm plays a significant role in the 
radiation from the system. Under conditions of complete cloudiness, radia- 
tion from the upper surface of the clouds, which depends on their surface 
temperature, comes to be of principal importance. As this temperature is 
usually much lower than the temperature of the earth's surface, it is evident 
that cloudiness considerably reduces the loss of heat to space by long-wave 
radiation. 

3. The Heat Balance 

Equations of the heat balance represent a particular formulation of one 
of the principal laws of physics-the law of the conservation of energy. 
These equations can be derived for various volumes and surfaces in the 
atmosphere, the hydrosphere, and the lithosphere. The heat-balance equations 
for the earth's surface and for the earth-atmosphere system, i.e., for the 
vertical column passing through the whole geographical envelope, are most 
frequently used in modern investigations. 

The heat-balance equation of the earth's surface includes the fluxes of 
energy between the surface element and surrounding space. These fluxes 
include the radiative fluxes of heat, whose sum is equal to the radiation 
balance. 

Positive or negative values of the radiation balance are compensated by 
several fluxes of heat. As the temperature of the earth's surface is usually not 
equal to the air temperature, a flux of heat takes place between the under- 
lying surface and the atmosphere, and is dependent on the turbulent heat 
conductivity. 

A similar flux of heat is observed between the earth's surface and deeper 
layers of the lithosphere or hydrosphere, if the temperature of the surface 
differs from that of the deeper layers. In this case, a flux of heat in soil is 
determined by molecular heat conductivity, while the heat conductivity in 
water bodies is as a rule of a more or less turbulent character. 

The conversion of heat for evaporation is very important for the heat 
balance at  the earth's surface. The amount of evaporation depends on the 
moistness of the earth's surface, its temperature, atmospheric humidity, and 
the intensity of turbulent exchange in the lowest layer of air, which determines 
the rate of water-vapor transfer from the earth's surface to the atmosphere. 
With regard to this factor, the regularities of heat conversion in evaporation 
turn out to be similar in many respects to those of the turbulent exchange of 
sensible heat between the earth's surface and the atmosphere. 

The conversion of heat in evaporation changes sign with the change in the 
direction of the water-vapor flux. If the flux of water vapor is directed from 
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the atmosphere to the earth‘s surface, then the outgo of heat for evaporation 
is changed into an input of the heat of condensation of water vapor. 

To derive the heat-balance equation, we shall designate the radiative flux 
of heat by R, the turbulent flux of heat between the underlying surface and 
the atmosphere by P, the heat flux between the underlying surface and the 
lower layers by A ,  and the conversion of heat in evaporation (or the release 
of heat in condensation) by LE ( L  is the latent heat of vaporization; E is the 
rate of evaporation). Since all other components of heat balance are usually 
much smaller than the fluxes of heat listed here, we may write, in the first 
approximation, the heat-balance equation in the form 

R = LE -k P i- A .  

The value of the radiative flux (the radiation balance) R is considered to 
be positive if it designates an income of heat to the underlying surface, 
and all other values are considered positive if they designate the disbursal 
of heat from the surface. It must be noted that, in a number of papers, 
another system of signs for the components of heat balance is used, accord- 
ing to which all the balance components have the same sign in accordance 
with the disbursal or income of heat. Such a system of designations is more 
logical, but it leads to difficulties connected with the fact that the expenditure 
of heat for evaporation and the turbulent loss of [sensible] heat from the 
earth’s surface to the atmosphere must be considered as negative values, 
which is at  variance with established practice. 

The scheme of heat fluxes included in the equation of the heat balance is 
shown in Fig. 4. 

(1.21) 

Fig. 4 Model of the heat balance at the earth’s surface. 

Regarding those components of heat balance that have not been included 
in Eq. (1.21), a considerable size can be attributed to the expenditure of 
heat for melting snow or ice on the earth’s surface (or to the gain of heat 
from the freezing of water). Although for longer averaging periods (a year 
or so), the latter value, as a rule, is considerably smaller than the main 
components of the balance, however, in some cases (for instance, periods of 
snow melting in the middle and high latitudes) this value should be included 
in Eq. (1.21) as an additional term. 
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Other components of the heat balance-heat fluxes due to the dissipation 
of the mechanical energy of wind, wind waves, tides, and currents, the heat 
flux (positive or negative) transferred by the fall of precipitation that has a 
different temperature from that of the underlying surface, as well as the 
conversion of energy in photosynthesis and the gain from oxidation of 
biological substances-are usually considerably smaller than the chief 
components of the balance, for averages obtained for periods of any length. 

Exceptions to this rule are possible (as for instance in case of a forest fire, 
when great quantities of energy previously accumulated by the process of 
photosynthesis are rapidly released), but are relatively rare. 

Because of the linearity of Eq. (1.21), the balance components designating 
the heat fluxes may be substituted for their sums for any given period of time. 
In this case, the form of the equation remains unchanged. 

The value of heat flux A going from the earth’s surface to lower layers can 
be determined by the other heat-balance components of the upper layers of 
the lithosphere or hydrosphere. If we derive a heat-balance equation for the 
vertical column with the upper boundary at the earth’s surface and the base 
at  a depth where the flux of heat is negligible, we get an equation 

A = B + F o ,  (1.22) 

where Fo is the income of heat resulting from heat exchange between the 
column and the ambient space of the lithosphere or hydrosphere in a hori- 
zontal direction, and B is the change in amount of heat within the column 
during the given period of time (refer to Fig. 5). 

I I 
I I 
I I 

Fig. 5 Model of the heat balance of the upper layer of the lithosphere or hydrosphere. 

The vertical flux of heat passing through the base of the column can be 
assumed to be equal to zero, since the heat flow from the depths of the earth 
is usually negligible in comparison with the, principal components of the 
heat balance. 

The value of Fo is equal to the difference between the heat fluxes entering 
and leaving through the sides of the column in question. The Fo component 
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becomes very important in large water bodies where currents exist and great 
horizontal heat conductivity takes place, conditioned by the effects of macro- 
turbulence. 

In the lithosphere, the Fo value is, as a rule, insignificant because of the 
small heat conductivity of soil. Therefore, for the land, we have A = B. 
Because, on the average over the year, the upper layers of soil are neither 
warmed nor cooled, we must assume that long-term annual mean values for 
the land are A = B = 0. 

In the heat balance of water bodies that are more or less insignificant as 
to area and analyzed as whole bodies, the values of A are also very close to B, 
because the heat exchange between the water and ground is usually small in 
comparison with the principal components of the heat balance. 

However, for some portions of the oceans and other water bodies (lakes 
and seas), the values of A and B might be very different. Therefore, in such 
conditions, the mean annual value of heat exchange between the active 
surface and the underlying layers is equal, not to zero, but to the amount of 
heat received or lost by the vertical column through the hydrosphere because 
of the activity of currents and macroturbulence (that is, A = Fo). 

Thus, the equation of heat balance for the land over the mean annual 
period will be 

(1.23) R = LE + P, 
and, for the ocean, 

R = LE + P + Fo. (1.24) 

In some cases, both these equations can be simplified. Thus, in deserts, 
where the amount of evaporation is close to zero, Eq. (1.23) will simply be 
R = P. For the world ocean as a whole, where the general redistribution of 
heat by sea currents is self-compensatory and sums up to zero, Eq. (1.24) is 
transformed into R = LE + P. 

Concluding our analysis of the heat-balance equations for the earth’s 
surface, we must note that when these equations are applied one must bear 
in mind that the concept of the “earth’s surface” (sometimes called the 
“active surface” or the “ underlying surface”) is somewhat conventionalized. 

Actually, the “ surface” processes of solar-energy transformation are 
developed, not on a two-dimensional surface, but in a layer of some thickness, 
as for example when the processes of heat conversion for evaporation on 
land takes place, or when water bodies absorb solar energy, and so on. The 
“ active layer ” reaches a considerable thickness in places having tall vegetation 
(especially so in forests). 

However, even when dealing with an active layer of considerable thickness, 
we can use the concept of the active surface, which will not lead us into any 
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noticeable inaccuracies, especially in studies of the balance components 
where long periods of time are averaged. But in individual cases (studying 
rapid changes in the components, etc.), it is more suitable to use the concept 
of an active layer instead of the active surface. 

To derive a heat-balance equation for the earth-atmosphere system, we 
must analyze the gains and losses of heat energy in the vertical column that 
extends through the whole atmosphere and the upper layers of the hydro- 
and lithosphere down to the levels where seasonal (or diurnal) variations in 
temperature cease. 

The exchange of heat between the column and outer space will be charac- 
terized by its radiation balance R, , which equals the difference between solar 
radiation absorbed by the whole column and the total long-wave outgoing 
radiation from the column (refer to Fig. 6). We will consider the value of R, 
as being positive when it shows that heat is gained by this system. 

Atmosphere @b 
-?*+?= Hydrosphere - 

Fig. 6 Model of the heat balance of the earth-atmosphere system. 

Extending the column deep into the lithosphere or hydrosphere, down to 
those layers where the thermal regime is no longer affected by variations of 
meteorological factors, we may assume that the flux of heat through the 
base of the column is practically equal to zero. 

The fluxes of heat passing through the lateral surfaces of the column are 
determined by the horizontal transfer of heat in the atmosphere and hydro- 
sphere. The difference between the income and outgo of heat due to heat 
transfer in the atmosphere is presented in Fig. 6 by the arrow Fa,  and the 
similar characteristic for the hydrosphere by arrow Fo . 

It  must be indicated that Fa is similar in its physical meaning to Fo . This 
value defines the input or outgo of heat in the air column owing to the 
activity of atmospheric advection and macroturbulence. 

Besides the heat exchange that occurs through the surfaces of the column, 
there are other factors that also affect its heat balance, namely, sources of 
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heat (positive or negative) located inside the column. Among these, basic 
significance is attributed to the sources or sinks of heat associated with phase 
changes of water and especially the process of evaporation and condensation. 

The gain of heat from condensation in the atmosphere is equal to the 
difference between the income and outgo of heat connected with condensa- 
tion and evaporation of water droplets in clouds and fog. Over a sufficiently 
homogeneous surface for long periods of time, the averaged difference 
between the values of condensation and evaporation in the atmosphere is 
equal to total precipitation r. The income of heat in this case is equal to Lr. 
The corresponding component of the heat balance represents the difference 
between the income of heat from condensation and the expenditure of heat 
in evaporating droplets. It might, however, differ from the value Lr in con- 
ditions of broken country and also in individual short intervals of time. 

The expenditure of heat for evaporation (the difference between the loss 
of heat for evaporation from the surface of water bodies, from vegetation and 
soil, and the gain of heat from condensation on these objects) is equal to LE. 
The general influence of condensation and evaporation on the heat balance 
of the column can be approximately expressed by the value L(r - E ) .  

Among the other heat-balance components of the column, the change in 
heat content inside the column B, that occurs during the period for which 
the values have been summarized should be taken into account. The other 
components of the balance (the gain of heat from dissipation of mechanical 
energy, the difference between the amount converted in melting ice and the 
gain from ice formation, the difference between the loss of heat in photo- 
synthesis processes and the gain in oxidation of organic matter, and so on) 
are usually insignificant in the heat balance of the earth-atmosphere system 
and need not be calculated. 

Writing down the equation of the heat balance of the earth-atmosphere 
system in the form 

R, = F, + L(E - r) + B, (1.25) 

where F, = Fa + F,,, we will assume that all the terms on the right side are 
positive if they show an outgo of heat. For the average annual period, the 
B, value will be close to zero and Eq. (1.25) will be transformed into 

R, = F, + L(E - r ) .  (1.26) 

For land, this equation has the form 

R, = Fa + L(E - r ) .  (1.27) 

Since, for the earth as a whole, E = r and the horizontal heat transfer in 
the atmosphere and hydrosphere in total is approximately equal to zero, the 
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heat-balance equation for the whole geographical envelope assumes the 
simple form 

R, = 0. (1.28) 

The heat-balance equation of the atmosphere can be obtained by summing 
up the relevant heat fluxes, or simply by taking the difference between the 
heat balance of the earth-atmosphere system and the earth's surface. 

Assuming that the radiation balance of the atmosphere R, is equal to 
R, - R, and that the change in heat content in the atmosphere B, is equal to 
B, - B, we find that 

R, = Fa - Lr - P + B, (1.29) 
and, for the average annual period, 

R, = Fa - Lr - P. (1.30) 

Investigating the heat balance, it is necessary in many cases to take into 
account data on water balance. 

The equation of water balance for the land is the expression of the con- 
dition when the algebraic sum of all forms of gain and loss of solid, fluid, 
and gaseous water received by a horizontal surface from ambient space 
during a certain interval of time is equal to zero. 

This equation will be 
r = E + fw + G, (1.31) 

where r is the precipitation, E is the difference between evaporation and 
condensation on the earth's surface (usually just called evaporation),f, is the 
surface run-off, and G is the flow of moisture from the earth's surface to the 
underlying layers. 

The last value (G) is the algebraic sum of the gravitational flux of liquid 
water from the soil surface into deeper layers, the vertical flux of film moisture, 
the vertical flux of water vapor, the flux of water raised by the roots of plants, 
and so on, obtained in summing up these fluxes for the analyzed period of 
time. 

Equation (1.3 1) is more often used in a modified form, which can be derived 
by considering the fact that the vertical flux of moisture G is equal to the 
sum of ground-water flowf, and the change of water content in the upper 
layers of the lithosphere b. (This equality corresponds to the equation of water 
balance of the vertical column that extends through the upper layers of the 
lithosphere down to the depths where moisture exchange practically does not 
take place.) 

Bearing in mind the fact that the sum of the surface run-off fw and under- 
ground run-off f, is equal to the total run-off f, we find that 

(1.32) r = E + f + b. 
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Equation (1.32) can also be used for calculating the water balance in water 
bodies or in separate parts of them. In this case, the value offwill characterize 
the redistribution of water in a horizontal direction for the analyzed period 
in the water body itself and underlying layers of the ground (if there is any 
noticeable redistribution of moisture). Similarly, the value of b, if taken for 
the water body, is equal to the total change in water quantity in the reservoir 
itself, and underlying layers as well, if there is a noticeable change in moisture 
content. Practically, in many cases the value of b is determined for water 
bodies by the change in water level. For the average annual period, the value 
of b is often very small, and the equation of the water balance changes into 
the form 

r = E + f .  (1.33) 

Over the whole globe, the horizontal redistribution of moisture does not 

r = E. (1.34) 

The equation of water balance has the same form for the mean annual 
period for conditions of land areas without run-off, including deserts. 

In closing, we will give the equation of water balance in the atmosphere. 
By adding up all the categories of the gain and loss of moisture in the vertical 
column that extends through the atmosphere, we easily obtain the equation 

matter, and therefore the equation of water balance has the simple form 

E = r + c, + b,, (1.35) 

where c, is the quantity of moisture that is gained or lost by the vertical 
column by the action of air currents and horizontal turbulent exchange, and 
b, is the change in the quantity of water in the column. 

Since the atmosphere can contain only relatively small quantities of water 
in any of its phases, the value of b, is usually much smaller than the other 
components of the balance. Its average annual value is close to zero. 

4. General Review of Investigations on the 
Transformation of Solar Energy 

The formulation of the problem of heat-balance investigations was made 
by the outstanding climatologist Voeikov, who analyzed in his many works 
various concrete questions associated with the study of the heat balance. For 
instance, in " KnnMaTbr S~MHOTO mapa, B O C O ~ ~ H H O C T ~ ~  POCCHH (The Climate 
of the Earth, Especially Russia") (1884), Voeikov paid much attention to the 
calculation of the annual regime in the heat content of lakes. These calcu- 
lations permitted him to draw conclusions about the influence of water 
bodies on climatic conditions in various regions. 
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In his work " Kpyroo6opo~ Tenna B 060~109~e ~ ~ M H O T O  mapa (The Circu- 
lation of Heat in the Mantle of the Globe") (1904), the question about the 
climate-forming effect of the heat exchange in soil and water bodies is 
analyzed in detail. Many ideas of Voeikov outlined in this work had great 
influence on investigations of the genesis of climate. It is enough to remember, 
for one thing, Voeikov's statement about the exceptionally important concept 
of the active surface, and his analysis of the relation between heat exchange 
and the annual and diurnal marches of temperature. 

However, it is obvious that any more or less comprehensive investigations 
of the heat balance at the earth's surface could be started only after establish- 
ment of an effective methodology for determining its principal components. 

Let us consider first some investigations on heat balance at the earth's 
surface. 

The development of methods for determining the components of the heat 
balance started in two principal directions : (1) designing special instruments 
for measuring the separate components of the balance; and (2) developing 
methods for calculating the balance components, based on the general 
regularities of the physics of the atmosphere and employing the data of mass 
hydrometeorological observations. 

The first stage in the development of methods for determining the balance 
components, based on application of special instruments, was closely con- 
nected with the development of actinometric investigations. These investi- 
gations began in the first half of the 19th century, when instruments for 
measuring direct solar radiation were designed. One of the first instruments 
of the kind was based on the thermostat principle, heating by solar rays 
permitting the determination of the incoming radiative energy (Pouillet, 
1838). 

Systematic observations of direct solar radiation were started in the second 
half of the 19th century. The actinometer of Khvol'son, with which the 
observations of direct solar radiation were started in Pavlovsk in 1890, 
played a great role in the development of actinometry in Russia. The pos- 
sibilities for measuring solar shortwave radiation were greatly expanded 
when Mikhel'son, Angstrom, and Abbot invented more perfect actino- 
meters. Later on, instruments that permitted more accurate measurements 
of scattered radiation were invented. The progress achieved in improvements 
of actinometric instruments contributed to a rather rapid expansion of the 
actinometric observational network. 

The data on expansion of the network of actinometric stations are pre- 
sented in Fig. 7. It is seen from this figure that the development of the world 
actinometric network was especially accelerated during the 1950s-the period 
of preparation for and conducting the International Geophysical Year. 

Although the number of actinometric stations now available is noticeably 
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less than that of the meteorological stations that carry out observations of the 
principal meteorological elements, it is possible even now to generalize the 
available data of actinometric observations to obtain a number of conclusions 
of a climatological character. 

However, it must be noted that up to the present time, actinometric 
observations at  most stations have been limited to measurements of the flux 
of short-wave radiation. Measurements of long-wave radiation, and especi- 
ally net long-wave radiation, involved considerable methodological diffi- 
culties and therefore were started much later than the measurements of 
short-wave radiation. 
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Fig. 7 Development of the world actinometric network. 

The first instrument used for more or less systematic measurements of the net 
long-wave radiation was the pyrgeometer of K. Angstrom, designed in 191 6 .  
Subsequently, it was established that observations made with this instrument 
contained significant errors. 

Later, instruments were constructed that permitted measurements of net 
long-wave radiation without major errors, not only at  night but also during 
daylight hours. Among these instruments are the effective pyranometer of 
Ianishevskii, the vibrational balance-meter of Falkenberg, and others. 

More or less reliable instruments for direct measurement of the radiation 
balance have been designed comparatively recently. Among them there are 
the balance-meters of Ianishevskii, Aizenshtat, Courvoisier, Schulze, Gier 
and Dunkle, and other workers. 

In the USSR, the improvement of balance-meters has been accomplished 
by Ianishevskii. As a result of long years of investigation, he has designed a 
rather simple construction of a thermoelectric balance-meter that permits 
the measurement of radiation-balance values without large errors. 
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At present, balance-meters are largely used in stationary observations at  
the meteorological stations of the USSR. Since the end of the 1950s, observa- 
tions of radiation balance have been carried out at  more than 100 stations of 
this country. In other countries, however, such observations are organized at  
a much smaller number of points, which restricts the possibilities of using the 
data from observations of radiation balance in climatological investigations. 

Methods for direct measurements of other components of the heat balance 
of the earth’s surface, especially the exchanges of latent and sensible heat, are 
much less developed than those for measurements of the components of the 
radiation balance. 

Since the latent heat of evaporation represents a well-known physical 
value, there is the possibility of finding the amount of heat lost in evaporation 
by measuring evaporation from the earth’s surface. 

Although the instruments for determining evaporation from the land 
surface (evaporimeters of several makes) have been developed over a long 
period of time, the available observational data from evaporimeters are 
relatively scarce and probably not free of appreciable systematic errors. 
Therefore, soil evaporimeters cannot be accepted as a universal method for 
determining evaporation from the land surface. 

Various kinds of evaporimeters have been used to determine evaporation 
from water surfaces. However, these observations also contain some errors, 
ahd are insufficient to warrant larger climatological generalizations. 

Because of the difficulty of applying evaporimeters, gradient methods for 
calculating evaporation from the vertical gradient of moisture, simultan- 
eously taking into account the value of the turbulent exchange coefficient, 
have been used during recent decades to determine evaporation and the 
associated outgo of heat. Another variation of the gradient method for deter- 
mining evaporation is the so-called balance method, which determines 
evaporation or the outgo of heat in it by measurements of vertical gradients 
of temperature and humidity in the air layer near the ground and by measure- 
ments of the radiation surplus and the heat flux in the soil. 

The gradient method also permits us to determine the magnitude of the 
turbulent sensible-heat flux-one of the most difficult components of the 
heat balance for direct measurement. During the 1950s, systematic gradient 
observations were organized at several dozen stations in the USSR. 

Omitting the mention of other instrumental methods for determining 
heat-balance components that, for various reasons, are not applied in the 
network of meteorological stations, we will point out that, as a result of 
progress achieved in experimental meteorology, there appears the possibility 
of measuring all the principal components of the heat balance under various 
natural conditions. Since specific balance observations (except measure- 
ments of radiation fluxes) are not yet in use on a mass basis, conclusions 
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drawn from these observations are usually insufficient for more or less broad 
climatological generalization. 

For this reason, calculation methods for determining the components of 
heat balance remain important at present. These permit us to compute the 
values of the terms of the heat balance, using data of mass meteorological 
observations. 

First calculations of heat-balance components were aimed at determining 
the changes of heat content in closed water bodies and in the upper layers 
of the soil. Such calculations, which are comparatively simple from the point 
of view of procedure, were accomplished in the last century by Voeikov, 
Ferrel, and others. 

The first fundamental investigations aimed at calculating solar energy 
transformation in the atmosphere were completed at  the end of the '19th 
century. Among such works is the study of Angot (1883), in which the amount 
of short-wave radiation reaching the earth's surface in various latitudinal 
zones of the globe was determined. 

However, the first calculations of all the components of the heat balance 
were accomplished only at  the beginning of our century. The work of Schmidt, 
published in 1915, proved very important for investigation of the heat 
balance. Using calculation methods, Schmidt found annual mean values of 
the heat-balance components in latitudinal zones of the world ocean in the 
Northern and Southern Hemispheres, including the calculation of the mean 
quantities of heat in each latitude that are transferred in a horizontal direction 
in the ocean by the activity of ocean currents and macroturbulence. 

Although the calculation methods used by Schmidt were rather approxi- 
mate (especially in respect to determining the conversion of heat in evapora- 
tion and the sensible-heat exchange), he nevertheless obtained the right order 
of values of the principal components of the heat balance. I t  should be noted 
that Schmidt was the first to tie the calculated heat-balance components with 
a determination of the water balance of the world ocean. 

Among the subsequent investigations of heat balance, the works of A. 
Angstrom are worth mentioning. In a paper published in 1920, Angstrom 
established all the components of heat balance in a closed water body- 
Vassijaure Lake in Sweden. For this purpose, he was able to improve con- 
siderably the calculation methods for determining the components of 
radiation and heat balances, although the problem of calculating the heat 
conversion in evaporation and the sensible-heat exchange could not be 
solved without using a rather provisional hypothesis. 

In one of his next studies, Angstrom (1925) calculated the principal heat- 
balance components in the region of Stockholm in all months and for the 
year. The shortcoming of this work was his neglect of reflected radiation 
when determining the radiation balance for the warm season. 
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In the calculations of Savinov, published in “Kypc T ~ O + A ~ A K A  (Geo- 
physics)” by Tverskoi (1934), the annual and monthly values of the radiation 
balance were found for a land region (Pavlovsk), taking into account the 
value of reflected radiation. 

For development of the heat balance of individual seas, the work of 
Shuleikin (1935) turned out to be very important. It was i n  this work, on 
the basis of special observations and a series of computations, that the 
components of the radiation and heat balances for one of the seas (the Kara 
Sea) were first determined. 

It should be mentioned that as a result of determining the heat-balance 
components, Shuleikin could show the importance of the role of currents in 
forming the thermal regime of the Kara Sea. This conclusion was later 
corroborated by the data of direct observations (Shuleikin, 1941). 

Beginning in the 1940s, the number of investigations of the heat balance 
at the earth’s surface started expanding rapidly. It was during these years 
that the investigations of the teams of scientists of the Main Geophysical 
Observatory were started, which aimed at a detailed study of the climatic 
regularities of the radiation and heat balances. In  this program, much atten- 
tion was paid to working out methods for independent determination of all 
the heat-balance components, which made it  possible to check objectively 
the accuracy of the derived calculations in closing the balance equation. The 
last task was first solved for conditions at a single point (Budyko, 1946), and 
then for an extensive area of land, the southern areas of the European part 
of the USSR (Budyko, 1947). Having thus corroborated the reliability of the 
procedures developed to determine the balance components, we were first 
able in this work to construct maps of the heat-balance components at the 
land surface. 

In subsequent works of members of the Main Geophysical Observatory, 
seasonal and annual maps of heat-balance components for the European part 
of the USSR (T. G. Berliand, 1948), annual maps of the balance components 
for the extratropical part of the Northern Hemisphere (T. G. Berliand, 1949), 
and annual maps of radiation balance for Western Europe and the eastern 
part of North America (Zubenok, 1949) were drawn, and calculations of 
latitudinal values of the heat-balance components in the Northern Hemis- 
phere were completed (Budyko, 1949). 

After these investigations, which were, in  a sense, a preparation, the author, 
Berliand, and Zubenok accomplished the task of constructing world maps of 
the balance components for the annual period as well as for separate months. 
This series included maps of total short-wave radiation, radiation balance at 
the earth’s surface, evaporation and flux of latent heat, sensible-heat flux from 
the underlying surface to the atmosphere, and also a map (for the year) of the 
amount of heat gained or lost by the ocean surface due to the action of sea 
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currents. In all, this series included 66 maps, which gave a general repre- 
sentation of the geographical regularities of the transformations of solar 
energy at the earth‘s surface. 

The annual maps from this series were published in 1953 in the second 
volume of the “ M o ~ c K o ~ ~  ATnac (Marine Atlas)” (Budyko et al., (1953). 
The whole series of maps was published in the first edition of the “ A ~ n a c  
TennoBoro 6 a n a ~ c a  (Atlas of Heat Balance)” (1955). 

A summary of the material on the heat balance at the earth’s surface that 
was available by the middle of the 1950s was presented in the book 
“ TennoBoii 6 a n a ~ c  3eMHOii IIOBepXHOCTEi (Heat Balance Of the Earth’s 
Surface)” (Budyko, 1956). 

Later on, using observational data on the heat-balance components and 
applying an improved procedure of climatological calculations, the scientists 
in the Main Geophysical Observatory designed a new series of more de- 
tailed and accurate maps of the components of the heat balance. 

This work resulted in preparation of the maps of total short-wave radiation, 
radiation balance, evaporation, potential evapotranspiration, latent-heat 
flux, sensible-heat flux, and also some components of the heat balance of 
the earth-atmosphere system. Some data of these investigations were pub- 
lished in the works of T. G. Berliand on the solar radiation regime on the 
continents (1961), Efimova on the radiation balance of land surfaces (1962), 
Zubenok on the heat balance of the continents (1962), Strokina on the heat 
balance of the oceans (1959, 1962), Efimova and Strokina on net long-wave 
radiation (1963), Zubenok and Strokina on evaporation from the surface of 
the globe (1963), and other authors. The new series of maps of heat balance 
was published in the “ A ~ n a c  TennoBoro 6 a n a ~ c a  3eMHOI’O IIIapa (Atlas of 
the Heat Balance of the Earth)” (1963). 

In further works, members of the Main Geophysical Observatory con- 
structed maps of Arctic and Antarctic radiation regimes [respectively, 
Gavrilova (1963), and Rusin et al. (1966)l; of the distribution of absorbed 
energy at  the earth’s surface (Berliand and Mukhenberg, 1963 ; Mukhenberg 
and Strokina, 1967); of albedo of the land surface of the globe (Mukhenberg, 
1967). 

In the works done in the Main Geophysical Observatory, much attention 
was paid to studying the radiation and heat balances of the territory of the 
Soviet Union and its various regions (Sapozhnikova, 1948; Ogneva, 1955, 
1968; Berliand and Efimova, 1955; Barashkova et al., 1961 ; Pivovarova, 
1960, 1963, 1966; Pivovarova and Pleshkova, 1962; Borzenkova, 1965; and 
others). 

Together with the papers listed, a number of investigations of this kind 
were dedicated to problems of the climatology of the heat balance at the 
earth’s surface. One of the first investigations in this direction was the work 
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of Albrecht (1940), in which the means of components of the radiation and 
heat balances were found for several places-some of them various regions of 
land, others individual regions of the oceans. 

Among the investigations aimed at studying the heat balance of different 
geographical regions, the following should be mentioned : the works on the 
heat balance of the Arctic (Marshunova and Chernigovskii, 1965, and other 
works; Doronin, 1963; Vowinkel and Orvig, 1964, and others; Fletcher, 
1965, and others), on the Antarctic heat balance (Rusin, 1961, and others), 
on the radiation regime and heat balance of the Ukraine (Konstantinov et al. 
1966), of Central Asia (Aizenshtat, 1966, and other papers), of the Caucasus 
(Shikhlinskii, 1963, and others; Tsutskiridze, 1964, ‘and others; Borzenkova, 
1965, and others), and so on. 

In the above-mentioned works of Konstantinov and Aizenshtat, and 
also in the investigations of Rauner (1961 and elsewhere), experimental 
data were obtained on the heat balance of various natural landscapes and 
agricultural fields. 

Not mentioning many other works studying the heat balance in various 
geographical regions, we will point to some investigations in which maps of 
heat-balance components were first drawn. 

The first maps of the heat balance of water bodies were constructed in the 
works of Jacobs (1943) and Sverdrup (1945) for northern portions of the 
Atlantic and Pacific Oceans. Subsequently, in the investigations of Albrecht 
(1949, 1951, 1952, 1960), calculations of heat-balance components for oceans 
were carried out. On the basis of these calculations, he made up a series of 
maps of the balance components for single months and the year. 

Maps of the heat-balance components for various oceanic regions were 
constructed in the works of Sauberer and Dirmhirn (1954), Privett (1960), 
Wyrtki (1965), Samoilenko (1966), Mani et al. (1967) and other authors. 

In a number of investigations, maps of the components of the heat balance 
of individual seas were drawn up (Arkhipova, 1957; Aldoshina, 1957; 
Seriakov, 1959; Batalin, 1959; Zaitsev, 1960; Makerov, 1961 ; Soliankin, 
1963 ; Smetannikova, 1963 ; Arsen’eva, 1964; Pomeranets, 1964; and others). 

Along with maps of the heat balance of water bodies, maps of heat- 
balance components in different regions of the USSR have been prepared 
(Styro and Gritsiute, 1955; Verle and Svinukhov, 1958; Mezentsev, 1959; 
Shikhlinskii, 1963 ; “ ATnac COCTaBJIBIOUHX TennoBorO H BOAHOrO 
6 a n a ~ c o ~  YKpaHHbI (Atlas of the Components of the Heat and Water 
Balances of the Ukraine”, 1966; and others), and for other countries 
(Tomlain, 1964; Albrecht, 1965; “Atlas balanzu promienowania w Polsce 
(Atlas of the Radiation Balance in Poland)”, 1966; and others). 

In conclusion, we will point out that, besides the above-mentioned papers 
of scientists in the Main Geophysical Observatory, some papers also include 



4 GENERAL REVIEW OF INVESTIGATIONS 31 

world maps of elements of the radiation regime at  the earth’s surface (Bern- 
hardt and Philipps, 1958, 1966; Landsberg, 1965; Lofet al., 1966; and others). 

Let us now turn to the problem of investigating the heat balance of the 
atmosphere. The available data on the geographical distribution of the heat- 
balance components of the atmosphere are much inferior, in respect to 
accuracy and detail, to available data on the heat balance at the earth’s 
surface. 

Direct measurement of terms of the atmospheric heat balance is associated 
with great difficulty compared to the measurement of the heat-balance 
components at  the earth’s surface. Because of this, information about regu- 
larities of the spatial distribution of the components of the heat balance of 
the atmosphere and the earth-atmosphere system have been obtained until 
recently only as a result of application of various calculation methods. 

Of great significance for the study of the heat balance of the atmosphere 
was the paper by Simpson (1929), who carried out approximate calculations 
and constructed schematic world maps of the earth’s radiation into space 
and of the radiation balance of the earth-atmosphere system. These maps, 
designed for two months-January and July-permitted us for the first time 
to get an idea of the spatial distribution of the radiation balance of the planet 
Earth. 

Of later papers in this direction, it is worth mentioning the investigation 
of Baur and Philipps (1934, 1935), in which calculation of the mean latitu- 
dinal indices of the atmospheric heat balance was accomplished. I t  might 
be noted that a similar calculation was carried out by Trolle (1938) for the 
region of Pavlovsk at  about the same time. 

The calculations of Baur and Philipps as well as other contemporary works 
included considerable error, owing to the use of inaccurate data on the heat 
balance at  the earth‘s surface. The absence of necessary data led Baur and 
Philipps, for example, not only to quantitative errors but also to the wrong 
qualitative conclusions about regularities of the heat balance. These authors 
concluded that for the whole earth the mean turbulent flux of sensible heat is 
directed from the atmosphere to the earth‘s surface. Accumulation of reliable 
data on the heat-balance components of the earth’s surface has permitted 
the determination, in later investigations, of mean latitudinal values of the 
components of the atmospheric heat balance without the above-mentioned 
error (Budyko, 1949). 

Further more detailed calculations of the heat balance of the atmosphere 
and the earth-atmosphere system were made. Among these investigations, 
the paper of T. G. Berliand (1956) is important. In it, maps of the components 
of the atmospheric heat balance for the Northern Hemisphere were con- 
structed. 

Houghton (1954), London (1957), and Moller (1960) gave the results of 
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calculations of the mean values of radiation balance and heat balance of the 
atmosphere for latitudinal zones and for the earth as a whole. 

World maps of the radiation balance of the earth-atmosphere system, of 
the heat gain from condensation in the atmosphere, and of heat transfer by 
air currents were designed by Vinnikov and published in “ ATnac TemoBoro 
6 a n a ~ c a  3 e ~ ~ o 1 - o  mapa [Atlas of the Heat Balance of the Earth]” 1963). 

D’iachenko and Kondrat’ev (1969, using calculation methods, determined 
the mean values of the long-wave balance of the atmosphere and designed 
world maps of its monthly and annual values. 

In the 1960s, in connection with the development of observations from 
meteorological satellites, there appeared the possibility of constructing maps 
of components of the radiational regime of the earth-atmosphere system 
directly from observational data. The first map of the kind contained data 
for single periods of time (for example, Raschke et af., 1968). Later, on the 
basis of these data, maps of mean long-term values of elements of the radia- 
tion regime were constructed (Vonder Haar and Suomi, 1969, and others). 

Correspondence of these maps of atmospheric heat fluxes to those that 
were constructed earlier by calculation methods is poorer than the corre- 
spondence of maps of components of the radiation balance at  the earth’s 
surface based on observational data to maps based on calculated values. 

I t  is quite clear that the accuracy of calculations of radiation fluxes in the 
atmosphere and observations of these fluxes from satellites is inferior to the 
corresponding accuracies for fluxes at  the earth’s surface. Nevertheless, many 
substantial features of the radiation regime of the earth-atmosphere system 
found by calculation are in good conformity with observations from satellites. 

In conclusion, we would like to note that, as is seen from recently pub- 
lished reviews (Miller, 1965; Sellers, 1965; and others), the number of 
investigations of the heat balance of the earth’s surface and the atmosphere 
has been rapidly increasing. In  the course of these investigations, the general 
picture of the transformation of solar energy in the geographical envelope of 
the earth has become clear. 
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I1 

Methods for Determining 
the Components of the Heat Balance 

1. The Radiation Balance at the Earth’s Surface 

Actinometric observations 

When studying the radiation balance at the earth’s surface, it is important 
to use data of actinometric observations. 

At present, the number of stations making actinometric observations in 
various countries is close to one thousand. About 200 of them are situated in 
the territory of the USSR. 

It must be indicated that the world actinometric network has an uneven 
density. There is a significant number of such stations in the USSR, the USA, 
and Japan, but very few in the vast lands of the developing countries (such 
as, for example, in  South America). On the oceans, systematic actinometric 
observations are carried out on board ships designed for meteorological 
observations (weather ships). 

At most actinometric stations, only the fluxes of short-wave solar radiation 
are observed. In recent years, a wider coverage of measurements of the 
radiation balance at  the earth’s surface has been made. Such observations 
are being carried out now in the USSR, at approximately 100 actinometric 
stations. 

Systematic measurements of radiation balance were organized at  several 
dozen stations throughout the world during the International Geophysical 
Year. 

For actinometric observations in various countries, a multitude of instru- 
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ments is applied, descriptions of which can be found in a number of publi- 
cations (Radiation Instruments and Measurements, 1958; Kondrat’ev, 1965; 
and others). All these instruments measure the elements of the radiation 
regime with errors that are not easily estimated beforehand. For this reason, 
systematic comparison is very important for clarifying the accuracy of 
actinometric instruments. 

Investigation of errors of actinometric instruments and the results of 
international comparisons have shown that the accuracy of measurements 
of short-wave radiation is sufficient for studying radiation regimes both for 
short and for long periods of time. Measuring the fluxes of long-wave 
radiation and the radiation balance by means of available instruments is 
associated with somewhat larger errors. These errors, however, do not prevent 
study of the regime of these elements, at all events over long averaging periods. 

In many countries, the data of actinometric observations are published in 
special yearbooks or issued together with the data of basic meteorological 
observations. 

Data of actinometric observations made in the Soviet Union are published 
in “ AKTkiHoMeTpkiYeCKkiii exeroAHm (Actinometric Yearbook) ”. The results 
of Soviet observations during the period of the International Geophysical 
Year and the International Geophysical Cooperation have been published 
in a special edition. 

Beginning in 1964, at the request of the World Meteorological Organization, 
the Main Geophysical Observatory has been publishing an international 
actinometric monthly, including data on solar radiation and radiation 
balance. Observational data of a large number of actinometric stations 
situated in the territory of sixty countries are published in this monthly, 

(Solar Radiation and Radiation Balance Data (The World Network))”. 
Along with periodical publications, the data of actinometric observations 

are published in various handbooks and reference books, such as the sum- 
mary of short-wave observational data in foreign countries prepared by 
T. G. Berliand and including data from 570 actinometric stations, 

Handbook, Foreign Countries)”, (1964). 

“COJIHeYHaX PaAMaUHSI EI PaAMaUHOHHbIfi baJIaHC (MEIpOBaX CeTb) 

“AKTkiHOMeTpHYeCKkifi CnpaBOYHMK, 3apy6eXHbIe CTPaHbl (Actinometric 

Methods for calculation of total short-wave radiation 

It has been already mentioned that available data from direct measure- 
ments of elements of the radiation regime are limited and often insufficient 
for extended climatological generalizations. Therefore, great importance 
for studies of spatial distributions of the radiation balance at  the earth’s 
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surface and its components attaches to indirect methods of calculation, 
using observational data of the basic meteorological elements-temperature 
and humidity of the air, cloudiness, soil and water temperature, and so on. 

The procedure of climatological calculations of the elements of the 
radiation regime can be more or less detailed, depending on the choice of 
meteorological data to be used for the calculation (for example, what kind 
of data are available-cloudiness in different layers or total cloudiness only, 
and so on). At the same time, the degree of detail of the procedure being used 
should depend on the object of the calculation. Thus, for example, the calcu- 
lation of schematic maps of mean values of radiation balance for continents 
and oceans can be accomplished by a less differentiated procedure than 
calculations for small regions in microclimatic investigations, or for individual 
short periods of time. 

I t  should be borne in mind that at  present, climatological methods for 
calculating elements of the radiation regime for considerable averaging 
periods (mean long-term annual and monthly values) are better developed. 
The problem of procedures for calculating radiation values for short periods 
of time is not yet completely solved. 

In climatological calculations of radiation balance at  the earth’s surface, 
its value is usually determined as the difference between absorbed radiation 
Q(1 - a) (where Q is the total short-wave radiation, a the albedo) and the 
net long-wave radiation I. Using such a calculation method for deriving the 
radiation balance, one must first find the value of the total short-wave 
radiation Q .  

The first investigations devoted to calculation of the values of short-wave 
radiation incident on the earth’s surface were restricted to determining direct- 
beam solar radiation. In the above-cited paper by Angot (1883) and in 
subsequent investigations by Savinov (1925, 1928), Milankovich (1930 and 
elsewhere), Kastrov (1928), Gal’perin (1949a, 1956), Averkiev (1956, 1958), 
and other authors, methods were elaborated for calculation of the quantity 
of direct radiation reaching the earth’s surface, in relation to conditions of 
transparency of the atmosphere. 

In subsequent papers, attempts were made to calculate the amount of 
incoming scattered short-wave radiation and to evaluate the effect of cloudi- 
ness on total short-wave radiation. 

Most of the results of these investigations have not found application in 
calculations of total radiation because of the cumbersome formulas derived, 
and the necessity to consider in the computations parameters having con- 
siderable variability and not thoroughly investigated. 

Both a simple and a sufficient method for determination of total radiation 
is offered in the works of Angstrom (1922), Kimball (1928), and Savinov 
(1933). 
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In studies published in 1922, Angstrom offered the following formula for 
determining total short-wave radiation: 

where Q and Qo are the total radiation under actual conditions and without 
cloudiness, respectively; s/so is the ratio between the duration of sunshine 
according to the heliograph s and the possible duration so for the given 
period; and q is a coefficient determining the fraction of the possible radia- 
tion actually received under conditions of complete cloudiness. 

Angstrom found that the last coefficient, according to data of observations 
in Stockholm, is equal to 0.235. 

In Kimball’s paper, based on the data of observations at  several American 
stations, a similar dependence was derived: 

Q = Qo[o.29 + 0.71(1 - n)] (2.2) 

where n is the mean cloudiness in fractions of a unit. 
Savinov studied the relationship between the values s/so and (1 - n),  

according to data of observations at  Pavlovsk, and found that these values 
differ markedly from each other. He came to the conclusion that the true 
value of the ratio of the actual sum of solar radiation to the possible sum is 
in best agreement with the arithmetic mean of s/so and (1 - n). 

On this basis, for calculation of direct and total solar radiation, Savinov 
offered the following formulas: 

s = So(1 - f i ) ,  

Q = Qo(1 - cfi), 

(2.3) 

(2.4) 

where S is the direct radiation, So is the direct radiation with cloudless skies, 
c is the coefficient defining the effect of cloudiness on radiation, and 

1 - n + (s/so) l - f i =  
2 

According to the conclusions by Savinov and by Gal’perin (1949a) and 
other authors, application of the 6 coefficient for calculations of total radia- 
tion gives better results than the application of values of total cloudiness or 
duration of sunshine. However, in many regions there are no reliable data 
of sunshine, which makes it necessary to limit oneself to the use of the data 
of general cloudiness when determining total short-wave radiation. 

The works of Savinov have contributed much to a wide use of the formulas 
given here in climatological calculations of short-wave radiation. Of great 
importance has been the fact that the possible radiation Qo included in 
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Eqs. (2. l), (2.2), and (2.4) has proved comparatively stable, depending 
basically on latitude and season. Such regularity makes it much easier to use 
these formulas for calculations of total radiation. 

In investigations by scientists of the Main Geophysical Observatory, 
associated with preparation of the first edition of “ ATnac TennoBoro 
6ana~ca  (Atlas of the Heat Balance)” (1955), the following formula was 
used for calculation of total radiation: 

Q = Q o r l  - (1 - .~’>nl. (2.5) 

In contemporary literature, it is usually called the formula of Savinov- 
Angstrom (7‘ is an empirical coefficient). 

The parameters occurring in this formula were determined by T. G. 
Berliand on the basis of the then available data of actinometric observatidns. 

Later, as a result of generalizing numerous new observational data, it was 
established that somewhat more accurate results in calculating total radiation 
could be obtained by use of the following formula (Berliand, 1960): 

Q = Qo[l - (a + bn)n] (2.6) 
where a and b are dimensionless coefficients. The use of the quadratic de- 
pendence in this formula permits us to take into account the correlations 
between the amount of clouds and their form. With an increase in cloudiness, 
the frequency of low clouds, which reduce solar radiation the most, is usually 
increased. Thus, as cloudiness increases, the reduction of radiation occurs 
slowly at  first and then more rapidly. 

We should point out that though Eq. (2.6) is somewhat more accurate than 
Eq. (2.5), in many cases calculation of the mean monthly values of radiation 
according to these formulas gives similar results. 

For calculating mean monthly values of possible radiation Qo , correspond- 
ing to different latitudes and months of the year, T. G. Berliand used a 
method proposed by Ukraintsev (1939). In accordance with Ukraintsev’s 
method, graphs have been constructed for a number of stations situated in 
various latitudinal zones, the abscissas of which correspond to days of the 
year and the ordinates to daily values of the total short-wave radiation from 
several years’ observations. The points on the graphs fall within areas having 
a distinct upper boundary. As the upper points probably relate to clear days, 
then by drawing a smooth curve through these points, one can obtain the 
annual cycle of daily values of total radiation with cloudless skies. 

The dependence on latitude of the values of possible radiation thus obtained 
in various months is shown in Table 3. 

It must be indicated that the values of possible radiation in this table are 
somewhat greater than the corresponding values determined in most previous 
papers. This difference is probably connected to some extent with the fact 



TABLE 3 
TOTAL RADIATION WITH CLOUDLESS SKY (kcal cm-a month-l)a 

Latitude 
(degrees) Jan. Feb. Mar. Apr. May June July Aug. Sept. Oct. Nov. Dec. 

90 N 0 0 0.1 10.0 21.9 26.0 23.8 12.9 2.4 0 0 0 
85 0 0 0.7 10.2 21.8 25.8 23.4 13.1 3.0 0 0 0 
80 0 0 2.4 10.8 21.4 25.2 23.0 13.4 4.3 0.5 0 0 
75 0 0.5 4.0 11.7 21.0 24.5 22.2 13.8 5.8 1.3 0 0 
70 0 1.6 6.0 13.1 20.5 23.6 21.2 14.6 7.5 2.7 0.5 0 
65 0.7 2.8 8.0 14.5 20.1 22.8 21.0 15.6 9.5 4.3 1.4 0.2 
60 1.8 4.3 9.9 16.0 20.8 22.9 21.4 16.7 11.3 6.1 2.6 1.1 
55 3.1 6.2 11.7 17.3 21.4 23.4 21.9 17.9 12.9 7.8 4.0 2.3 
50 4.8 8.2 13.3 18.5 22.2 23.7 22.6 19.1 14.4 9.7 5.8 3.9 
45 6.7 10.3 14.8 19.5 22.6 23.9 23.2 20.1 15.8 11.5 7.8 5.9 
40 8.8 12.2 16.4 20.3 23.0 24.0 23.4 20.9 17.0 13.2 9.7 7.7 
35 10.7 14.0 17.6 21.0 23.0 24.0 23.6 21.6 18.1 14.7 11.4 9.7 
30 12.5 15.5 18.6 21.4 23.0 23.8 23.4 21.8 19.1 16.1 13.1 11.5 
25 14.1 16.8 19.5 21.6 23.0 23.4 23.1 21.8 19.8 17.4 14.6 13.1 
20 15.5 17.9 20.2 21.6 22.5 22.8 22.6 21.6 20.4 18.5 16.1 14.7 
15 16.9 19.0 20.8 21.4 21.9 22.0 21.9 21.2 20.9 19.3 17.4 16.1 

P 
o\ 



10 18.1 19.8 21.1 21.2 21.2 21.0 21.1 20.6 21.2 20.1 18.5 17.5 
5 N  19.3 20.4 21.4 21.0 20.2 19.9 20.0 20.0 21.3 20.6 19.5 18.8 
0 20.2 20.9 21.5 20.4 19.3 18.8 19.1 19.3 21.2 21.2 20.4 19.2 
5 s  21.0 21.4 21.4 19.9 18.3 17.6 17.9 18.3 20.8 21.4 21.8 21.0 

10 22.0 21.8 21.1 19.2 17.7 16. 16.3 17.3 20.4 21.4 21.8 22.0 
15 22.6 22.0 20.6 18.3 16.0 14.9 15.4 16.1 19.7 21.3 22.4 22.9 
20 23.2 22.0 20.0 17.2 14.7 13.4 13.8 14.9 18.9 21.0 22.6 23.6 
25 23.6 22.0 19.4 16.0 13.0 12.0 12.6 13.6 18.0 20.6 23.0 24.1 
30 23.9 21.8 18.6 14.9 11.9 10.6 11.1 12.1 17.0 20.1 23.0 24.6 
35 24.0 21.3 17.6 13.6 10.4 9.0 9.6 10.6 15.9 19.5 23.0 25.0 
40 24.0 20.6 16.4 12.2 8.7 7.3 8.1 9.0 14.3 18.7 22.8 25.2 
45 24.0 19.9 15.2 10.7 7.1 5.5 6.3 7.3 13.4 17.7 22.4 25.2 
50 23.6 18.9 13.8 9.2 5.4 3.8 4.6 5.5 12.0 16.6 21.8 25.0 
55 23.2 17.8 12.3 7.5 3.8 2.3 3.0 3.8 10.3 15.4 21.2 24.6 

P 60 22.6 16.6 10.8 5.6 2.4 1 .o 1.6 2.3 8.5 14.1 21.0 24.4 
65 22.4 15.3 9.1 3.9 1.1 0.1 0.4 1 .o 6.7 12.6 20.8 24.5 
70 22.6 14.2 7.3 2.2 0.1 0 0 0 5.0 11.4 21.0 24.9 
75 23.2 13.4 5.7 0.9 0 0 0 0 3.5 10.4 21.2 25.4 
80 24.0 12.8 4.3 0 0 0 0 0 2.1 9.7 21.9 26.0 
85 24.6 12.4 2.9 0 0 0 0 0 0.9 9.2 22.4 26.6 
90 S 24.9 12.3 1.7 0 0 0 0 0 0 9.0 22.6 27.0 

4 

a Computed for the mean duration of each month, 30.4 days. 
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that in the previous calculations of possible radiation, comparatively limited 
observational material was used. Furthermore, such material often included 
measurements of radiation performed with old instruments, underestimating 
scattered radiation. In addition, the peculiarity of Ukraintsev's method (which 
provides the possible radiation for a high transparency of the atmosphere 
rather than for mean transparency) could lead to the values of possible 
radiation in Table 3 being somewhat high. Besides, when determining possible 
radiation by Ukraintsev's method, values might in some cases be over- 
estimated because of the effect of scattered cloudiness (the amount of clouds 
reaching 2-3 tenths), which sometimes does not only not reduce but even 
increases the total radiation in comparison with cloudless conditions. How- 
ever, this fact, as will be explained below, should not lead to any noticeable 
systematic error in calculations of total short-wave radiation by Eqs. (2.5) 
or (2.6). 

For determination of coefficients v', a, and b, permitting us to take into 
account the effect of cloudiness on total radiation, observational data of 
different latitudinal zones were used in the works of T. G. Berliand. 

The coefficient v', which represents the ratio of actual radiation with 
complete cloudiness to the possible must depend on the mean altitude of the 
sun, the properties of the cloudiness, and the conditions of reflection of 
short-wave radiation (the value of albedo). 

As a result, mean values of the coefficient 7' would probably be different 
in different regions; this coefficient also varies slightly in the diurnal and 
annual cycles. 

The mean annual values of the coefficient v', averaged for different latitudes, 
are given in Table 4. 

Investigation of the parameters in Eq. (2.6) has shown that the coefficient 
b is comparatively stable, and therefore its mean value for various latitudes, 
which equals 0.38, can be used in calculations. 

TABLE 4 
LATITUDINAL MEANS OF THE COEFFICIENTS 7' AND a 

4 85" 80" 75" 70" 65" 60" 55" 50" 45" 

7* - - 0.55 0.50 0.45 0.40 0.38 0.36 0.34 
a 0.14 0.15 0.16 0.18 0.25 0.36 0.41 0.40 0.38 

4 40" 35" 30" 25" 20" 15" 10" 5" 0" 

7' 0.33 0.32 0.32 0.32 0.33 0.33 0.34 0.34 0.35 
a 0.38 0.38 0.36 0.35 0.37 0.39 0.40 0.40 0.38 
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Mean annual values of coefficient a for various latitudes are also presented 
in Table 4. 

Since the coefficients 7‘ and a presented in this table have been computed 
directly by Eqs. (2.5) and (2.6), taking into account the means of actually 
observed values of Q,  then it is clear that a small systematic error in the 
values of Qo must change the values of these coefficients accordingly. In this 
case, some compensation of the effect of errors in determining the parameters 
of Eqs. (2.5) and (2.6) on the calculations of the total short-wave radiation is 
assured. 

When determining total radiation by these formulas and Tables 3 and 4, 
the effect of variations in transparency of the atmosphere and in the height 
and form of the clouds is taken into account just as is the mean latitudinal 
factor (through latitudinal variations of the values Qo and 7’ or a). Besides, 
in such calculations, variation in the values of 7’ and a in the annual cycle, 
which according to data of several papers might take place, are not con- 
sidered. 

As a consequence, the procedure of calculating the total short-wave 
radiation must be considered rather schematic, and applicable mainly for 
calculations of radiation distribution over large expanses of global and 
continental scale. This procedure has the important advantage of using the 
more accessible data of total cloudiness. (Climatological data of the fre- 
quency of various forms of cloud for many territories and for a portion of the 
oceans are either absent or not reliable enough.) 

Besides the method cited here, other formulas taking into account the 
effect of cloudiness on total solar radiation have been offered (Black, 1956; 
Angstrom, 1957; Bernhardt and Philipps, 1958; and others). In  a number of 
cases, total radiation has been assumed to be proportional to the radiation 
incident on the outer boundary of the atmosphere, the coefficient of pro- 
portionality being considered a function of cloudiness. Comparisons have 
shown that such an approach does not improve on the accuracy of calcula- 
tions by the method cited above. 

A more differentiated procedure for calculation of total solar radiation 
should take into account the effect of the form and altitude of the clouds on 
radiation and also the effect of variations in the transparency of the atmos- 
phere. 

The effect of changes in the properties of cloudiness on radiation during 
the annual cycle could be taken into account, approximately, by changing the 
values of the coefficient 7’. The problem of the annual cycle of appropriate 
coefficients for the formulas of Savinov and Angstrom was considered in a 
paper of Gal’perin (1949b). It was indicated in this investigation that the 
coefficient c in Savinov’s formula, Eq. (2.4), changes noticeably in some 
regions during the annual cycle. 
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Another method for calculating the effect of the properties of cloudiness 
on total short-wave radiation consists of introducing into the calculation 
formulas data on the amounts of clouds in different layers. Thus, for example, 
in the paper of Kuz’min (1950), the ratio of the actual radiation to the 
possible is assumed to be equal to 

1 - c,(n - nH) - C Z n H ,  

where n is total cloudiness, nH is lower cloudiness, and c1 snd c2 are numerical 
coefficients. This calculation method might be applied when data on the 
quantity of lower cloudiness are available. 

In the studies of Braslavskii (Braslavskii and Vikulina, 1954), special 
attention was paid to the problem of taking into account the effect of addi- 
tional factors in determining total radiation. Braslavskii pointed out that 
when calculating possible radiation by a theoretical method, it is necessary 
to take into account in a direct form the effect of surface albedo on scattered 
(and, consequently, total) radiation. Using for calculations the values of 
possible radiation found from observational data for the actual state of the 
surface, the effect of albedo on the total radiation is, to some extent, taken 
into account automatically. 

The calculations of Braslavskii have shown that variations of transparency 
of the atmosphere associated with variations of humidity and of altitude of the 
terrain up to several kilometers have relatively little influence on total short- 
wave radiation. 

The problem of climatological calculation of the diurnal cycle of total 
radiation was examined by Biriukova (1956a). For this purpose she used 
Eq. (2.5) and determined its parameters from the data of actual observations. 

The values of possible radiation in the diurnal cycle were calculated by 
Biriukova by taking into account Ukraintsev’s idea. Graphs of the diurnal 
cycle were drawn for all months and for seven points of the USSR: Pavlovsk, 
Riga, Sverdlovsk, Irkutsk, Odessa, Vladivostok, and Tbilisi. The calculations 
showed that values of possible radiation depend mainly on the latitude, season, 
and hour of day. The results obtained from these calculations of possible 
radiation (i.e., total radiation with cloudless skies) in  various latitudes are 
presented in Table 5. 

Having data on the diurnal cycle of possible radiation and comparing 
them to data from observations of total radiation, it is easy to calculate by 
Eq. (2.5) the diurnal cycle of the coefficient 7’ and to determine its mean 
dependence on the altitude of the sun. 

This relation, derived from the data of calculations for several points in 
the territory of the USSR, is presented in Fig. 8. It  is seen from this graph 
that the value of coefficient 7‘ diminishes with a decrease of the sun’s altitude 
h, . The cause of such change probably lies in the fact that when cloudiness 
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is present, the increase of length of the path of the solar ray in the atmos- 
phere greatly reduces the amount of radiation reaching the earth’s surface, 
in comparison with cloudless conditions. 

Using Eq. (2.5), Table 5 ,  and Fig. 8, one might calculate the diurnal cycle 
of total radiation for mean long-term conditions. The question of the possi- 
bility of applying this procedure to calculate total radiation for short 
calendar periods is not quite clear yet. 

Along with the data of total short-wave radiation, the data of direct and 
scattered radiation incident on a horizontal surface are often of importance. 

(:t 20 / , 
0 

20 30 40 50 

~ ’ . I O Z  

Fig. 8 Dependence of coefficient q‘ on the sun’s altitude. 

There are different methods for determining the values of direct and 
scattered radiation. For calculation of their mean monthly values, one could 
use a procedure set forth in a paper of T. G. Berliand (1961). In this investi- 
gation, a relationship was established between the ratio of scattered to total 
radiation, and the relative duration of sunshine. Using this relationship and 
taking into account available data on total radiation, one could determine 
monthly mean values of scattered and direct radiation. 

Absorbed radiation 

For determining the value of that fraction of total solar radiation absorbed 
by the earth’s surface, it is necessary to estimate the albedo of the underlying 
surface for short-wave radiation. 

At present, there is a great deal of observational material on mean values 
of albedo for various natural underlying surfaces. Mukhenberg (1963) made 
great efforts to generalize observational data of albedo obtained at meteoro- 
logical stations. 

Summaries of the results of albedo measurements at different types of 
surfaces have been presented in a number of works (Budyko, 1948; Berliand, 
1948; Gaevskii, 1961; Kondrat’ev, 1965; and others). Mean values of albedo 
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TABLE 5 
TOTAL RADIATTON WITH CLOUDLESS S K Y O  QO (caI cm-a hr-l) 

Hours 

North 21 20 19 18 17 16 15 14 13 12 
latitude Month 3 4 5 6 7 8 9 10 11 

Jan. 
Feb. 
Mar. 
Apr. 

60” June 
July 
Aug. 
Sept. 
Oct. 
Nov. 
Dec. 

Jan. 
Feb. 
Mar. 
Apr. 

55” June 
July 
Aug. 
Sept. 
Oct. 
Nov. 
Dec. 

May 

May 

- -  
- -  

2 
3 10 

10 19 
13 22 
12 19 
7 14 
1 4  

- 

- -  
- -  
- -  

- -  
- -  

3 
3 10 
6 17 

11 20 
8 15 
5 13 
1 6  

1 

- 

- 
- -  
_ _  

- 
1 
6 

21 
29 
31 
29 
24 
12 
3 
- 
- 
- 

2 
13 
20 
28 
30 
27 
24 
14 
5 
- 
- 

- 
5 

15 
31 
39 
40 
40 
34 
21 
11 
2 
- 

2 
8 

21 
31 
39 
41 
37 
34 
24 
13 
3 
- 

2 
13 
25 
40 
47 
48 
47 
40 
30 
19 
5 
2 

7 
18 
33 
42 
50 
50 
47 
42 
36 
23 
10 
2 

6 
19 
31 
49 
55 
55 
55 
47 
39 
27 
10 
3 

13 
28 
42 
50 
57 
58 
56 
50 
45 
32 
18 
6 

10 
24 
49 
53 
58 
60 
59 
51 
43 
31 
15 
6 

18 
33 
46 
56 
60 
62 
62 
55 
50 
39 
24 
11 

12 
29 
37 
56 
60 
62 
61 
53 
44 
34 
18 
8 

20 
36 
49 
58 
62 
66 
63 
58 
53 
40 
27 
13 

According to data of observations in the territory of the USSR. 

according to the most reliable measurements made under different geographi- 
cal conditions are given in Table 6. 

For comparatively schematized climatological calculations of absorbed 
radiation, it is convenient to use the more broadly averaged values of albedo 
presented in Table 7 [refer to Budyko et al. (1961)l. The data from this table 
were used in preparing the “ A ~ n a c  TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  mapa (Atlas 
of the Heat Balance of the Earth)” (1963). Monthly mean values of albedo of 
different geographical regions have been determined with respect to the areas 
occupied by different types of underlying surfaces in each region (Mukhen- 
berg, 1962, 1963). 

As has been pointed out, the albedo of the earth’s surface frequently 
changes in the course of the year. As an example, we give here a graph de- 
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TABLE 5 (Continued) 
TOTAL RADIATION WITH CLOUDLESS  SKY^ Qo (cal cm-2 hr-l) 

Hours 

North 21 20 19 18 17 16 15 14 13 ,2 
latitude Month 3 4 5 6 7 8 9 10 11 

Jan. 
Feb. 
Mar. 
Apr. 
May 

50" June 
Jule 
Aug. 
Sept. 
Oct. 
Nov. 
Dec. 

Jan. 
Feb. 
Mar. 
Apr. 
May 

45" June 
July 
Aug. 
Sept. 
Oct . 
Nov. 
Dec. 

2 
2 
1 

- 
- 
- 

- 
1 
3 
5 
9 
6 
4 

- 
2 
4 
7 
5 
3 
- 

3 11 19 25 27 
1 4 11 21 34 42 45 
4 12 24 38 48 52 54 

10 21 33 44 54 61 63 
15 28 41 53 60 65 68 
19 30 44 54 62 68 70 
14 27 40 52 61 66 68 
12 25 36 46 54 61 63 
6 15 27 40 51 57 59 
2 7 16 26 36 43 46 
- 1 5 13 23 29 31 

1 6 12 18 20 

- 1 5 15 24 32 35 
1 4 14 25 39 46 50 
4 13 25 42 53 59 61 
9 21 35 48 59 66 68 

14 30 45 58 66 70 73 
19 31 46 58 69 75 77 
15 30 45 58 66 71 74 
11 26 39 50 61 67 70 
5 16 30 45 57 64 66 
2 9 19 30 43 49 51 
- 2 5 17 28 34 37 

3 10 20 26 29 

- _  

_ _  

- _  

a According to data of observations in the territory of the USSR. 

fining the mean annual cycle of albedo from data of observations conducted 
at an open site in the Leningrad region (Fig. 9). I t  is seen from this figure that 
the albedo reaches its maximum in winter, when there is snow cover. 

Investigations of Iaroslavtsev (1 952), Kondrat'ev and Ter-Markariants 
(Kondrat'ev, 1954), Tooming (1961), Goisa (1962), and other authors shcw 
that the values of albedo of a land surface often vary during the diurnal cycle. 
When the sun's altitude is low (in morning and evening hours), albedo usually 
increases. The cause of the albedo increase in this case is associated with 
the change in reflectivity of a rough underlying surface for different angles of 
incidence of the sun's rays. (With a high position of the sun, the flux of 
direct-beam radiation penetrates deep into the vegetation cover and is 
absorbed there, while at a low altitude of the sun this flux penetrates the 
vegetation less and is reflected from its surface to a greater extent.) 
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TABLE 6 
ALBEDO OF NATURAL SURFACES 

Type of surface Albedo 

Snow and ice 
Fresh, dry snow 0.80-0.95 
Clean, moist snow 0.60-0.70 
Dirty snow 0 .40 .50  
Sea ice 0 . 3 0 . 4 0  

Bare soil 
Dark soils 0.05-0.15 
Moist, grey soils 0 . 1 0 . 2 0  
Dry loam or grey soils 0.20-0.35 
Dry light sandy soils 0.35-0.45 

Fields, meadows, tundra 
Rye and wheat fields 0.10-0.25 
Potato fields 0.15-0.25 
Cotton fields 0 .20 .25  
Meadows 0.15-0.25 
Dry steppe 0.20-0.30 
Tundra 0.15-0.20 

Arboreal vegetation 
Coniferous forest 0.10-0.15 
Deciduous forest 0.15-0.20 

Furthermore, the variation of albedo during the diurnal cycle is influenced 
by the change in spectral composition of short-wave radiation at different 
altitudes of the sun. 

In climatological calculations of the diurnal cycle of absorbed radiation, 
the dependence of albedo on the altitude of the sun, found by Biriukova 
(1 956b) by generalizing observational data, can be utilized. Biriukova indi- 

0.8 c 
0.6 

(I 

0.4 

0.2 

L 
O I I1 Ill I V  Y VI Y l l  Vl l l  I X  x X I  XI1 

Months of the year 

Fig. 9 Annual march of the albedo of the earth’s surface in the Leningrad region. 
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TABLE 7 
MEAN VALUES OF ALBEDO 

Type of surface Albedo 

Stable snow cover in high latitudes (more than 60") 
Stable snow cover in middle latitudes (less than 60") 
Forest with stable snow cover 
Unstable snow cover in spring 
Forest with unstable snow cover in spring 
Unstable snow cover in autumn 
Forest with unstable snow cover in autumn 
Steppe and forest during the transition period after snow cover disappears 
and before the mean daily temperature of the air reaches 10" 
Tundra without snow cover 
Steppe or deciduous forest during the period after the temperature goes 
above 10" in spring and before snow cover appears in autumn 
Needleleaf forest during the period after the temperature goes above 
lo" in spring and before snow cover appears in autumn 

During the dry season 
During the wet season 

Forest dropping leaves during a dry season, 
savanna and semidesert 
Desert 

0.80 
0.70 
0.45 
0.38 
0.25 
0.50 
0.30 

0.13 

0.18 

0.18 

0.14 
0.24 
0.18 
0.28 

cated that in the snowless period albedo changes during the diurnal cycle 
depend mainly on sun altitude and cloudiness. Increasing cloudiness in this 
situation reduces the dependence of albedo on the sun's altitude for a well- 
understood reason-the increase of cloudiness reduces the direct and in- 
creases the scattered radiation, and the absorption of scattered radiation 
depends little on the altitude of the sun. 

The relationship between the value Aa (the difference between the albedo 
at a given hour of the day and its value at noon) and the sun's altitude is 
presented in Fig. 10 for mean conditions of cloudiness (according to data 

Arz.10' 

Fig. 10 Dependence of the albedo of a snow-free land surface on the sun's altitude. 
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from middle latitudes). This graph can be used for estimating the diurnal 
cycle of absorbed radiation in snow-free periods. With snow cover present, 
taking account of albedo changes in the determination of absorbed radiation 
is not necessary, according to Biriukova. 

When determining the albedo of water surfaces, it is necessary to take 
into account the fact that reflection of direct-beam radiation depends on the 
altitude of the sun. As is seen from Fig. 3, the albedo for direct radiation in 
such conditions has a very wide variation. 

The albedo of a water surface for scattered radiation varies much less and 
is on the average equal to 0.08-0.10. Accounting for the variations in albedo 
for scattered radiation that depend on cloudiness and other factors might be 
of some importance when calculating the amount of radiation reflected from 
a water surface. However, for the calculations under consideration of the 
amount of absorbed radiation (which usually is much greater than the re- 
flected), the possible variations in the albedo for scattered radiation produce 
a relatively small effect. 

As a consequence of the large dependence of the albedo of water bodies 
on the sun's altitude, the albedo for total incoming short-wave radiation has 
annual and diurnal cycles (Kirillova, 1970; and elsewhere). 

For determining the mean albedo of water bodies, we used in our work 
(Budyko et al., 1954a,b) the data of Sivkov (1952), who, by generalizing 
available experimental data and the conclusions drawn from theoretical 
calculations, established the relation of water-surface albedo in direct-beam 
radiation to the altitude of the sun. Considering that the albedo for scattered 
radiation is equal, on the average, to 0.10, and taking into account the mean 
fractions of direct and scattered radiation in different latitudes, we deter- 
mined values of water-surface albedo for total radiation. These are presented 
in Table 8. The data from this table can also be used for calculations for the 

TABLE 8 
ALBEDO OF A WATER SURFACE FOR TOTAL SHORT-WAVE RADIATION 

North 
lati- 
tude Jan. Feb. Mar. Apr. May June July Aug. Sept. Oct. Nov. Dec. 

70" 
60" 
50" 
40" 
30" 
20" 
10" 
0" 

- 

0.20 
0.16 
0.11 
0.09 
0.07 
0.06 
0.06 

0.23 
0.16 
0.12 
0.09 
0.08 
0.07 
0.06 
0.06 

0.16 0.11 
0.11 0.08 
0.09 0.07 
0.08 0.07 
0.07 0.06 
0.06 0.06 
0.06 0.06 
0.06 0.06 

0.09 
0.08 
0.07 
0.06 
0.06 
0.06 
0.06 
0.06 

0.09 0.09 
0.07 0.08 
0.06 0.07 
0.06 0.06 
0.06 0.06 
0.06 0.06 
0.06 0.06 
0.06 0.06 

0.10 
0.09 
0.07 
0.06 
0.06 
0.06 
0.06 
0.06 

0.13 
0.10 
0.08 
0.07 
0.06 
0.06 
0.06 
0.06 

0.15 
0.14 
0.1 1 
0.08 
0.07 
0.06 
0.06 
0.06 

_ -  
0.19 0.21 
0.14 0.16 
0.11 0.12 
0.08 0.09 
0.07 0.07 
0.06 0.07 
0.06 0.06 
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Southern Hemisphere, taking into account the corresponding change of 
seasons. 

When making climatological calculations of solar radiation absorbed in 
water bodies, it must be borne in mind that a change in the state of the water 
surface by waves definitely affects the albedo. It must be noted, however, 
that these changes cannot substantially influence the values of absorbed 
radiation. As mean albedo values for water surfaces do not usually exceed 
0.10, it is clear that comparatively large variations of this value change the 
value of absorbed radiation relatively little. This permits us to neglect the 
effect of wave disturbance on the albedo when calculating the sums of 
absorbed radiation for such periods as months, ten-day periods, and so on. 

Net long-wave radiation 

Besides the loss of a portion of incoming short-wave radiation due to 
reflection, it is necessary to calculate the outgo of radiative energy by the net 
exchange of long-wave radiation when computing the radiation balance. In 
the investigations that have been made, it has been established (Kondrat’ev, 
1956; and others) that the value of net long-wave radiation depends on air 
temperature, humidity, cloudiness, and the vertical gradients of temperature 
and moisture in the atmosphere. 

As a result of these investigations, formulas were found that relate the 
value of net long-wave radiation under cloudless skies to the temperature and 
humidity of the air. These formulas have the following form: 

and 
10 = SaT4(a1 + bl .  10-cle) 

Zo = SoT4(a2 - b2&), 

where Zo is the net long-wave radiation; S is the coefficient of emissivity, 
relating the properties of the radiating surfaces to those of a black body; T 
is the air temperature; e is the pressure of water vapor; and a, ,  b, , cl, a, ,  
and b, are coefficients. 

The first of these formulas was offered by Angstrom (1 9 16) and the second 
by Brunt (1932). The coefficients of the formulas have been determined in a 
number of studies of observational data. 

In climatological calculations of net long-wave radiation, Angstrom’s 
formula with the coefficients given in Linke’s reference book (Linke, 1934), 
al=0.194, b, = 0.236, c,  = 0.069, has often been used (vapor pressure is 
expressed in millimeters of mercury). 

In the investigations of a number of authors, theoretical methods for 
determining net long-wave radiation have been worked out. Of much import- 
ance in the development of these investigations have been the works of 
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Kondrat’ev, who has used for radiation calculations a model of differential 
accounting of the spectrum of the coefficients of absorption of long-wave 
radiation in the atmosphere. 

Using results obtained by Kondrat’ev, M. E. Berliand established a 
theoretical dependence of net long-wave radiation under cloudless skies upon 
the temperature and humidity of the air (Berliand and Berliand, 1952). 

The dependence found by M. E. Berliand can be approximately expressed 
in the analytical form 

I, = S ~ T ~ ( 0 . 3 9  - 0.058&), (2-9) 
where e is in millimeters of mercury. The coefficient 6 in this formula varies 
relatively little for different natural surfaces. Therefore, its mean value, which 
equals 0.95, is commonly used in calculations. 

For checking the available formulas, Efimova processed a great many 
observational data of net long-wave radiation, obtained during the period of 
the International Geophysical Year at  actinometric stations in the USSR 
(Efimova, 1961). I t  was established in her work that Berliand’s formula is 
corroborated well by the data of observations made at average and high 
humidities. At a small absolute humidity, which, for example, corresponds 
to winter conditions in regions with a continental climate, Berliand’s formula 
gives results that are too high. Therefore, the dependence of net long-wave 
radiation on humidity should be used in a somewhat modified form: 

Zo = 6aT4(0.254 - 0.0066e). (2.10) 

Besides the temperature and humidity of the air, net long-wave radiation 
is considerably influenced by cloudiness and by the difference between 
temperatures of the surface and the air. The effect of cloudiness on net long- 
wave radiation is usually accounted for by the formula 

z = Io(l - c’n), (2.1 1) 

where I is the net long-wave radiation with actual cloudiness, I. is the net 
long-wave radiation with cloudless skies, n is the cloudiness in fractions of 
unity, and c‘ is a coefficient. 

Angstrom found the value of c’ to be equal, on the average, to  0.75. 
Asklof (1920), Dorno, and other authors established the fact that the value of 
c’ is different for clouds of different layers, being much smaller for high clouds 
than for low. Taking this fact into account, Evfimov (1939) suggested that 
net long-wave radiation be calculated in relation to cloudiness by the formula 

(2.12) 

where nH, nc , and nB represent the cloudiness of the lower, middle, and upper 
layers; cH’, cc‘, and cB’ are the corresponding coefficients. 
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Evfimov found these coefficients to be cB' = 0.15 to 0.20; cc' = 0.50 to 
0.60; cH' = 0.70 to 0.80. 
In some investigations, there are indications that observational data show 

that the decrease of net long-wave radiation with an increase of cloudiness is 
not linear, but more rapid. Therefore, this formula for determining it has 
been offered: 

I = Io(l - c'n7, (2.13) 

where T is assumed equal to 1.5-2.0. 
A theoretical calculation of the mean values of the coefficient c' for differ- 

ent latitudes has bfen made by M. E. Berliand. In this calculation, the mean 
frequency of clouds of different layers at each latitude is taken into account. 
The values obtained for the coefficient c' are given in Table 9. The reduction 
of values of this coefficient in low latitudes is explained mainly by the higher 
mean altitude of clouds in these regions. 

TABLE 9 
MEAN LATITUDINAL VALUES OF THE COEFFICIENT c' 

4 75" 70" 65" 60" 55" 50" 45" 40" 35" 30" 25" 20" 15" 10" 5" 0" 

c' 0.82 0.80 0.78 0.76 0.74 0.72 0.70 0.68 0.65 0.63 0.61 0.59 0.57 0.55 0.52 0.50 

In  some works (Kuz'min, 1948; Bolz, 1949; Kirillova, 1952; and others), 
the effect of cloudiness on long-wave radiation is assumed to be taken into 
account by introducing a correction, not to net long-wave radiation, but to 
the counterradiation from the atmosphere. Kondrat'ev indicated that such 
a method for calculating the effect of clouds on long-wave radiation does not 
have any substantial advantage over using Eq. (2.1 1) or (2.13). 

In climatological calculations made in the Main Geophysical Observatory 
in connection with the preparation of the first edition of the " ATnacTennoBoro 
6ana~ca  (Atlas of Heat Balance)" (1955), Eq. (2.13) with T = 2 was used. 

In the investigations of Efimova (1961), generalizing many observational 
data, i t  was found that the form of the dependence of the monthly mean values 
of net long-wave radiation on cloudiness varies appreciably in different 
climatic regions and in different seasons. Therefore, in Eq. (2.13) the value T 
is actually variable, changing roughly from 1 .O to 1.5. 

In addition, Efimova confirmed the variability of the coefficient c' during 
the annual cycle, which had been noted earlier by several authors. 

Thus, for accurate determination of the total net long-wave radiation by 
Eq. (2.13), one should use detailed information on the values of the coeffi- 
cients in this formula for different geographical regions in different periods 
of the year. 
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At the same time, for approximate computations of the radiation balance, 
it is possible to limit consideration to schematized values of the parameters 
mentioned. Thus, for example, in work done in the Main Geophysical 
Observatory for constructing world maps of radiation balance in “ ATnac 
TennoBoro 6anaHCa 3 e ~ ~ o 1 - o  urapa (Atlas of the Heat Balance of the Earth)” 
(1963) and other works, it was assumed that T = 1, and mean latitudinal 
values of the coefficient c’ from Table 9 were used. 

The above. formulas for calculation of net long-wave radiation relate to 
cases when the temperature of the earth’s surface is close to that of the lower 
layer of air. If these temperatures differ substantially, then the formulas 
must be modified to account for the effect of their difference on radiation, 
since the true radiation of the earth’s surface is defined by its own tem- 
perature T, and not by the temperature of the air. The complete formula 
for calculating net long-wave radiation then becomes 

Z = l o ( l  - d n )  + 4SoT3(TW - T ) .  (2.14) 

The second term of the right side of this formula permits us to take into 
account the effect on radiation of the difference between the temperatures of 
the underlying surface and the air. In the presence of such a difference between 
temperatures, net long-wave radiation changes by the quantity 8oTw4 - SoT4, 
which might be considered to be approximately equal to 4SoT3(T, - T ) ,  as 
the difference between the values T, and T is always small in comparison to 
their values in the absolute temperature scale. 

The question of accounting for the effect of this correction has been 
discussed in several papers (Kondrat’ev, 1951 ; Berliand and Berliand, 1952; 
and others). In the investigation of Efimova (1961), it ‘was established that the 
indicated way of taking the effect of temperature difference on radiation into 
account is corroborated by observational data. This conclusion requires an 
additional check for large differences of temperatures of the earth’s surface 
and the air. 

When calculating net long-wave radiation for water bodies by Eq. (2.14), 
the temperature T, can usually be determined from observational data. 

Since for land conditions there are not, as a rule, reliable data on the 
temperature of the underlying surface, it is often better to use an indirect 
method in computing the correction 4SaT3(T, - T )  when calculating a 
radiation balance. This method is based on the following considerations. Let 
us write the equation of the radiation balance in the following form: 

R = Q(1 - CY) - lo(1 - c’n) - 4SaT3(TW - T ) .  (2.15) 

We shall use the heat-balance equation 

R = LE i- P + A ,  (2.16) 
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and the formula for determining the turbulent flux of sensible heat from the 
earth’s surface into the atmosphere (refer to Section 2 of this chapter) 

P = pc,D(TW - T) ,  (2.17) 
where p is air density, c, is the specific heat of air, and D is the integral coeffi- 
cient of turbulent diffusion. 

From Eqs. (2.15-2.17), it follows that 
G’ + (LE + A )  - 1 

1 + G’ R = [Q(l - a) - lo(l - c’~z)] - 1 + GI’ (2.18) 
where 

46aT3 G’ = -. 
PCPD 

This formula can be used for calculation of the radiation balance when 
there are no data on the temperature of the underlying surface. 

When using this formula for determination of average values of the 
radiation balance, one can use mean values of the ratio G’ since the variation 
of this value does not greatly influence the calculation results. As available 
data have shown, G‘ in the warm season is, on an average, equal to 0.7. In 
desert regions, where turbulent exchange is more intense, this value reduces, 
on an average, to 0.4-0.5. In the cold season in middle and high latitudes, when 
turbulent mixing diminishes, the mean value of G’ increases slightly and can 
be assumed to be close to 1.0. All the given values of the ratio G’ are diurnal 
means. 

The methods for calculating the values of the latent-heat flux LE and the 
heat flow A into the soil, included in Eq. (2.18), will be discussed later. 

The stated procedure for climatological calculation of net long-wave 
radiation permits us to determine its value using only the data of standard 
meteorological observations of air temperature and humidity, total cloudi- 
ness, and (for water bodies) the temperature of the water surface with infor- 
mation on the heights and forms of clouds and also on the vertical distributions 
of temperature and humidity in the troposphere, it is possible to use more 
detailed methods for determining net long-wave radiation. Thus, for example, 
in the study of Berliand and Berliand (1952) and other investigations, the 
mean values of coefficients cB’, cc’, and cH’ for different forms of clouds are 
given. Application of these coefficients with information on cloud types can 
make the calculations of net long-wave radiation more accurate. 

The necessity of taking into account the vertical distributions of tempera- 
ture and humidity when calculating radiation has been discussed in a number 
of papers. Calculations by Mukhenberg and Efimova (1961) show that in 
determining long-term mean values of net long-wave radiation in single 
months, accounting for vertical gradients actually observed does not introduce 
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any substantial change in the values of net long-wave radiation found on the 
basis of the above-mentioned model and the use only of data of near-surface 
meteorological observations. 

However, it may be assumed that in climatic regions where strong in- 
versions of temperature are observed, the vertical structure of the tropos- 
phere has an appreciable influence on net long-wave radiation. 

I t  is also probable that for calculating net long-wave radiation over short 
calendar periods, it is important to take into account the vertical gradients 
of temperature and humidity. For such calculations, the methods worked 
out in the investigations of Shekhter (1950), Kirillova and Kovaleva (1951), 
Elsasser and Culbertson (1960), Kondrat’ev and Niilisk (1960), and other 
authors are useful. 

2. The Turbulent Flux of Sensible Heat from the 
Earth’s Surface into the Atmosphere 

Turbulent exchange in the layer of air near the ground 

The temperature of the earth’s surface for both land and water bodies 
usually is not equal to that of the layers of air lying above it. As a conse- 
quence, there appears a vertical flux of heat between the underlying surface 
and the atmosphere, conditioned by the eddy or turbulent heat conductivity 
of the air. 

The value of the turbulent sensible-heat flux depends essentially on the 
intensity of turbulent exchange in the lower layer of the atmosphere. A 
quantitative relationship between the turbulent sensible-heat flux at ground 
level and the characteristic intensity of turbulent mixing (the coefficient of 
exchange) can be obtained from the following considerations. 

Considering, according to the idea of Taylor (1915) and Schmidt (1917), 
the process of turbulent diffusion to be similar to that of molecular diffusion, 
it is possible to use the following equation to describe the turbulent heat 
exchange in the lower layer of the atmosphere: 

(2.19) 

where t is time, z is the vertical coordinate, k is the coefficient of turbulent 
exchange, and T is the temperature. 

Designating an individual time-derivative of temperature by a partial 
derivative, we obtain 

(2.20) 
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where x is the horizontal coordinate measured along an axis, the direction 
of which coincides with that of the vector of wind velocity u. 

After integrating Eq. (2.20) with respect to z from 0 to z, we obtain the 
relation 

(2.21) 

where Plpc, is the constant of integration, which is equal to the ratio of the 
turbulent heat flux P at ground level to the product of air density p by heat 
capacity of the air at constant pressure c, . 

Evaluating the order of magnitude of the term 

one can easily establish that for the lowest layer of air it will always be small 
in comparison with the other two members of Eq. (2.21). 

As has been found in appropriate calculations, the height of this layer is 
usually of the order of several meters at  night and several tens of meters in 
the daytime. Within the limits of this layer [which we have called a quasi- 
stationary sublayer-Budyko (1946d)], the turbulent sensible-heat flux 
changes little together with height. Its value is equal to 

(2.22) 

In a number of investigations for calculating the vertical turbulent heat 
flux in the higher layers of the air, an assumption has been used that the 
turbulent heat flux at certain levels in the free atmosphere is proportional to 
the product of the turbulent exchange coefficient by the vertical gradient of 
temperature; that is, a formula similar to Eq. (2.22) has been applied. In this 
case, the vertical gradient of absolute temperature is replaced by the gradient 
of potential temperature. It is evident that with such an assumption the 
turbulent heat flux becomes zero when the vertical gradient of temperature 
becomes equal to the adiabatic gradient, i.e., to approximately 1" per 100 m. 
Such a method of using Eq. (2.22) is not quite accurate. 

In papers of Budyko and Iudin (1946, 1948), Budyko (1967), Iudin (1967 
and elsewhere), it has been pointed out that transport of heat by means of 
turbulent diffusion in the vertical direction differs slightly from turbulent 
diffusion of so-called "passive admixtures", which do not themselves in- 
fluence the process of mixing. In these investigations, the hypothesis has been 
expressed that there is a definite correlation between the deviation of tem- 
perature of a turbulent eddy at  a given level from the mean temperature of 
the level and the direction of eddy movement (warmer eddies more often 
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ascend and colder ones descend). As a result of analyzing observational data, 
it has been found that for this reason the turbulent heat flux becomes zero 
at a vertical gradient of temperature less than the adiabatic gradient and 
approximately equal to 0.6" per 100 m. This temperature gradient has been 
called the equilibrium gradient. 

The concept of the equilibrium gradient is very important for explanation 
of the so-called "Schmidt paradox", which will be discussed below (refer to 
Chapter 111, Section 3). At the same time, in using Eq. (2.22) for the surface 
air layer, there is no necessity to consider the value of the equilibrium 
gradient, since the temperature gradients observed in the surface layer usually 
exceed the values of the equilibrium gradient by a factor of 10-100 times. 

As pointed out above, the turbulent heat flux is proportional to the value 
of the turbulent exchange coefficient. In its physical meaning, this coefficient 
is similar to the corresponding coefficient for the conditions of molecular 
diffusion. However, unlike the latter, the coefficient of turbulent exchange in 
the lower layers of the atmosphere changes considerably in space and in 
time, depending on a number of meteorological factors. 

Information available on the coefficient of exchange in the surface air 
layer has been obtained mainly from experimental investigations and semi- 
empirical theories. 

In the papers of Rossby (1932) and Rossby and Montgomery (1935), for 
determining the characteristic of turbulent mixing in the lower layer of the 
atmosphere, a semiempirical theory of the boundary turbulent layer was used. 

In accordance with the point of view of Prandtl(1932), Rossby and Mont- 
gomery assumed that with an adiabatic temperature distribution the mixing 
length in the lower layer of air increases linearly with altitude, turning, at  
the level where the wind velocity is equal to zero (at z = 0), into a value 
proportional to the roughness of the underlying surface, that is, 

(2.23) 

where I is the mixing length, zo is the roughness, and K is a dimensionless 
constant, approximately equal (according to experiments in pipes) to 0.38- 
0.40 (von Kirmin  constant). 

According to Prandtl, the value of the turbulent friction stress T, equal to 
pK(au/az), can be determined by the formula 

(2.24) 

where au/az is the vertical gradient of wind speed. 
Having accepted the assumption that in the lower layer of air the value T 
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is constant with height, we can derive, after having integrated Eq. (2.24) with 
respect to z, the equation for the wind profile, 

u = (;)'I' In -, 
ZO 

and for the coefficient of turbulent exchange, 

(2.25) 

(2.26) 

where u1 is the wind speed at height zl. 
It  follows from Eq. (2.26) that in the lower layer of air the exchange 

coefficient is proportional to height z and wind speed u. 
Experimental investigations have shown that application of these formulas 

gives satisfactory results in the absence of any substantial vertical gradient 
of temperature in the surface air layer up to a height of several tens o f '  
meters. In this situation, the exchange coefficient can be calculated from 
data on wind speed at a single level and roughness of the earth's surface. 

For determination of the roughness parameter, which defines the effect of 
the uneven surface on wind speed, it is necessary to have data on wind speed 
at two or more different levels. I t  is then possible to exclude the value of 
turbulent friction from Eq. (2.25) and calculate the value of z o ,  which de- 
pends on the ratio of wind speeds at  the two levels. 

Without any such observational data available, the value of roughness 
can be approximated from the kind of underlying surface. For a smooth 
surface of ice or snow, roughness is usually of the order of 10-3-10-2 cm. 
For a smooth meadow covered with low grass, the value of roughness is 
usually equal to 10-l-lOo cm. With high grass or such agricultural plants as 
potatoes, roughness increases to 1-10 cm. Over shrub vegetation and forest, 
the values of roughness may be equal to 10-100 cm [refer to Sutton (1953), 
Priestley (1959), and others]. 

It should, however, be borne in mind that application of Eq. (2.26) is 
possible only in comparatively rare cases, because a simple dependence of 
wind-speed gradient on speed itself, corresponding to this formula, is 
realized only at small vertical gradients of temperature. 

Numerous observations of wind profile in the lower layers of air have 
shown that in real conditions the value of vertical gradient of wind speed 
over a given underlying surface depends materially on both the wind speed 
and the vertical distribution of temperature. 

Thus, in our works (Budyko, 1945, 1946b), there was established from 
experimental data a relation of the ratio of wind speeds at heights of 5 m 
and 1 m to the wind speed at 2 m and the difference of temperature between 
0.2 and 1.5 m. The relation, given in Fig. 11, shows the important influence 
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that thermal stratification produces in the wind profile in the surface layer of 
air. With temperature decreasing with height (which in the figure corresponds 
to positive values of AT),  the ratio of wind speed at the two heights decreases 
considerably in comparison to the ratio under inversion conditions. 

In connection with this conclusion, the necessity of considering the effect 
of vertical temperature distribution when determining the exchange coeffi- 
cient becomes evident. 

u2 

I .  50 .1.45 

-2 -1 0 1 2  

A T 0  

Fig. I1 Dependence of the ratio of wind speeds at heights of 5 and 1 m to speed at the 
height of 2 m (uz) and the temperature difference between heights of 20 and 150 cm 
(AT),  from observational data. 

The question of the effect of the vertical profile of temperature on turbulent 
exchange in the surface layer has been discussed in many papers, both 
experimental and theoretical. Even in the first works in this direction, it was 
established that the values of the exchange coefficient in the surface air layer 
in daytime considerably exceed those determined by Eq. (2.26) for isothermal 
stratification. For night conditions, the reverse dependence was established. 
In light of this fact, it has turned out that utilization of Eq. (2.26) for deter- 
mination of the turbulent exchange coefficient must lead to substantial 
errors in calculations of the turbulent heat flux. 

This conclusion has been corroborated by the results of checking the 
calculations of evaporation made by Thornthwaite and Holzman (1942), 
who used the formula for the exchange coefficient without considering the 
influence of thermal stratification. Such calculation of components of the 
heat and water balances has shown (Budyko, 1946c) that the equations of 
balance in this case do not close. From this, it follows that not considering 
the effect of stability on exchange leads to a significant error in determining 
evaporation and turbulent exchange of sensible heat. 
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In our works (Budyko, 1946b, 1948), the following relation was offered 
for the accounting of the effect of stability on turbulent exchange: 

k = k,cD (2.27) 

where k, is the exchange coefficient at the equilibrium state, and Q, is a 
function depending on the Richardson number in the surface layer of air. 

The Richardson number [refer to Sutton (1953), Iudin (1948), and others] 
is a dimensionless criterion, defining the effect of thermal stratification on 
turbulent exchange. I t  is derived from the formula 

(2.28) 

where g is the acceleration of gravity, and T is temperature in the absolute 
scale. 

I t  is easy to demonstrate that in the surface air layer, the Richardson 
number is approximately proportional to the ratio A T / ( A U ) ~  or AT/u2, where 
A T  is the difference between temperatures at  two heights, and Au is the 
difference between wind speeds at two heights. 

In accordance with this, we offered the formulas (Budyko, 1946b) 

and 

(2.29) 

(2.30) 

where and c2 are coefficients to be derived from semiempirical con- 
siderations and depending on the levels at  which temperature and wind speed 
are measured. 

After the first papers of Rossby and Montgomery (1935), Sverdrup (1936b), 
Holzman (1943), Obukhov (1946), and others, the problem of the influence 
of thermal stratification on turbulent exchange was discussed in other 
investigations, in which different methods for determination of the Q, function 
in Eq. (2.27) were used. 

To verify the formulas that permit the calculation of the values of the 
turbulent exchange coefficient, data were used in our work from experiments 
in which the values of the exchange coefficient were determined by different 
independent methods. Some of these methods are based on measurements of 
vertical fluxes of heat and moisture. They include, for example, a method for 
determining the exchange coefficient from the measurements of evaporation 
(Budyko, 1946a; and others). The gist of this method reduces to the following: 
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By analogy with Eq. (2.22) for conditions of the layer of air near the surface, 
it is possible to use the formula 

(2.3 1) 

where Eis  the rate of evaporation, and aq/& is the vertical gradient of specific 
humidity. 

We take into account the fact that the turbulent exchange coefficient in 
the surface layer of air increases with height, according to the law approxi- 
mated by the relation 

k = klz  (2.32) 

(where k,  is a coefficient of proportionality). After having integrated the 
right side of Eq. (2.31) with respect to z, considering Eq. (2.32), we obtain 
the relation 

(2.33) 

where q1 and q2 are the specific humidities at  heights z ,  and z2. 
It follows from this that the value k ,  can be calculated by the formula 

(2.34) 

In some determinations of the exchange coefficient, a more general formula 
has been used 

(2.35) 

These formulas have been repeatedly used for determination of the ex- 
change coefficient in experimental investigations with measurements of 
evaporation and the vertical gradient of humidity. 

The results of calculating the exchange coefficient at a height of 1 m by this 
method, using observational data obtained in the region of Leningrad, are 
presented in Fig. 12, in relation to wind speed. I t  is seen from this figure that 
the values of the exchange coefficient observed in daytime on the average 
noticeably exceed the values corresponding to Eq. (2.26), which are repre- 
sented by the straight line. The difference confirms the marked effect of 
stability on turbulent exchange in the surface layer of air. 

Another method to determine the exchange coefficient (the so-called heat- 
balance method) is based on the use of a formula obtained from Eq. (2.22) 
by integrating it with respect to z, taking into account condition (2.32). This 
formula has the following form : 

(2.36) 
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Fig. 12 Dependence of the coefficient of turbulent exchange on wind speed. 

From Eqs. (2.33) and (2.36) and from heat-balance equation (2.16), we 
derive the formula 

(2.37) 

Utilization of this formula implies the acceptance of the assumption that 
the exchange coefficients for heat transfer and water-vapor transfer are equal. 

This problem has been discussed in a number of investigations. Considering 
the results, it is possible to assume that if differences between the exchange 
coefficients for heat and moisture do exist, then at  any rate in the lowest 
layer of air they are relatively small. 

Among other methods for experimental determination of the exchange 
coefficient, it is worth mentioning the one based on the measurements of the 
eddy fluctuations of wind speed and temperature. Application of this method 
involves the use of rather complicated apparatus and requires comparatively 
difficult processing of observational data. However, the method permits the 
obtaining of data that are very important for understanding the mechanism 
of turbulent exchange in the atmosphere. 

As a result of applying experimental and semiempirical methods for 
determination of coefficients of turbulent exchange in the surface layer of air, 
it is found possible to draw the following general conclusions : 

1. The exchange coefficient in the surface layer of air increases with height 
and is approximately proportional to height up to the level of several tens 
of meters. In the daytime (with temperature decreasing with height), the 
exchange coefficient usually increases with height somewhat faster than 
linearly. During the night (with inversions), the increase of the exchange 
coefficient with height is slower than linear. Deviations of the vertical profile 
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of the exchange coefficient from linearity are noticeable mainly at levels higher 
than several meters. 

Thus, in climatological calculations of the variation of the exchange coeffi- 
cient with height for the lowest layer of air, one can use the formula k = k,z 
with sufficient accuracy. In this case, the vertical distributions of wind speed, 
temperature, and humidity following from the above formula would have the 
form of the well-known logarithmic laws. 

2. Mean values of the exchange coefficient at a level of 1 m in the daytime 
period in the warm season on land are of the order of 1500-2000 cm2 sec-l. 
During the diurnal cycle of the warm period on land, the exchange coefficient 
varies significantly, reaching its maximum in the afternoon hours and its 
minimum at night and in the early hours of the morning. In conditions of 
clear weather, the exchange coefficient may change by one to two orders 
during the diurnal cycle. In overcast weather and at high wind speeds, the 
diurnal cycle of the exchange coefficient diminishes. 

During the annual cycle in middle latitudes, the exchange coefficient 
reaches its greatest values in summer because of the increase of roughness 
and the large daytime temperature gradients. In winter, the exchange coeffi- 
cient decreases because of the small roughness of the snow surface and the 
high frequency of daytime inversions. 

3. Over large water bodies (especially the oceans), the exchange coeffi- 
cient in the lower layer of air depends mainly on wind speed, since under these 
conditions the vertical gradients of temperature are usually small. Besides 
wind speed, the exchange coefficient is here influenced by the form of the 
water surface (waves), but this influence is comparatively limited. 

4. Significant changes in the exchange coefficient because of the effect of 
variable factors make it difficult to use the mean values of the exchange 
coefficient in calculation of the turbulent heat flux by Eq. (2.36), especially 
for short periods of averaging with respect to time. 

Turbulent diffusion between the earth’s surface and the atmosphere 

It was pointed out that the vertical turbulent flux of sensible heat is the 
consequence of the presence of a difference between the temperatures of the 
earth’s surface and of the layers of air above it. As a result, the value of 
the heat flux depends not only on the intensity of exchange in the surface 
layer of air at some distance from the earth’s surface, but also on the con- 
ditions of heat conductivity in the thin air layer immediately adjacent to the 
earth’s surface. 

Because turbulent exchange near the earth’s surface is substantially 
weakened, the intensity of exchange in the lowest levels produces a consider- 
able influence on the rates of the heat fluxes. Therefore, the problem of the 
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regularities of turbulent exchange between the earth’s surface and the 
atmosphere becomes of great importance when studying the vertical fluxes 
of heat and water vapor. 

To establish the relations between the turbulent heat flux and the difference 
between the temperatures of the earth’s surface and the atmosphere, Eq. 
(2.22) must be integrated with respect to z from 0 to z. Then we obtain 

(2.38) 

where T, is the temperature of the earth‘s surface, and T is the temperature 
at the level z.  

This formula can be rewritten as 

P = pcPD(Tw - T ) ,  
where 

(2.39) 

(2.40) 

The value D, widely used in modern investigations of heat balance, is 
usually called the integral coefficient of turbulent diffusion (Budyko, 1956). 
In terms of properties, this coefficient is considerably different from that of 
turbulent exchange in the surface air layer. 

Thus, for example, unlike the coefficient k,  the value D depends relatively 
little on height. Elementary estimates show that beginning at  heights of the 
order of 1 m, a change in the level z by several times changes the coefficient D 
by only several per cent. 

In determining the coefficient D for land conditions, it is possible to use 
two basic methods. The first is based on Eq. (2.40), that is, on the use of the 
relationship between the integral coefficient of diffusion and the exchange 
coefficient. When integrating the denominator in Eq. (2.40), one should bear 
in mind that the regularities of turbulent exchange near the underlying 
surface, that is, at  very small z,  are rather complicated. 

In many theoretical investigations of heat exchange and evaporation for 
determination of the integral so* dzlk, authors have used various hypotheses 
concerning the form of the function k(z) at small z without any substantiation 
of their feasibility. 

For solving the problem of the conditions of diffusion near a natural rough 
surface, we carried out an experimental investigation (Budyko, 1947). In 
these experiments, the temperature of the underlying surface devoid of 
vegetation and the temperature of the air at  several levels were measured 
with thin resistance thermometers. 

The relationship between the measured values of temperature difference 
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at the surface and at  a height of 150 cm (Tw - T,,,) for daytime conditions 
and the difference in temperatures between the heights of 55 cm and 150 cm 
(T55 - T150) is presented in Fig. 13 as a group of points. In this figure, the 
relation between the values (Tw - Tls0) and (T55 - T150) shown as line 1 
corresponds to the height relation of the exchange coefficient 

k = kl(z + z,). (2.41) 

Line 2 defines a dependence derived under the condition 

k = klz + k o ,  (2.42) 

where k,  is the coefficient of molecular diffusion. 

T, - T50 

Fig. 13 Results of investigations of boundary conditions for heat and water exchange 
(see text). 

It is seen from the figure that neither Eq. (2.42) nor Eq. (2.41) is satisfied, 
because the discontinuities in temperature between the underlying surface 
and the air that are predicted by these models turn out to be much under- 
estimated. The location of points in Fig. 13 can be described on the average 
by line 3, corresponding to values of the ratio 

(2.43) 

The data in Fig. 13 indicate that the conditions of heat conductivity in the 
thin air layer near the ground have a very great effect on the turbulent sensible- 
heat flux. The differences between lines I ,  2, and 3 correspond to relative 
differences between the values of the heat flux that occur in relation to ex- 
change conditions in this thin layer. 

Tw - T150 = 15. 
T55 - TI50 

Taking into account that Eqs. (2.36) and (2.39) lead to the ratio 

(2.44) 
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(Tl and T2 are air temperatures at heights z1 and z2), we assume that 

D = 9k1, (2.45) 

where 9 is a coefficient dependent on the boundary conditions of heat ex- 
change at  the underlying surface. 

It follows from the given experimental data that for the above-indicated 
levels of temperature measurement the value 9. is equal to A. Other experi- 
mental material relating to daytime hours and conditions of various bare 
surfaces usually give mean values of 9 within the range from -& to $6. For the 
night period with temperature inversions in the surface layer, the coefficient 
9 increases greatly in comparison to the daytime value-on an average, 3-5 
times. 

Although a precise determination of the coefficient 9. is difficult to obtain 
in each individual case, Eq. (2.45) can nevertheless be used for estimating 
mean values of the coefficient D. 

Other methods for determining the integral coefficient of diffusion by 
analogy with those for calculation of the exchange coefficient are based on 
measurements of the fluxes of heat and moisture. Thus, for example, with 
the availability of data on measurements of evaporation rate, one can use the 
following formula for determining the coefficient D : 

(2.46) 

and with the availability of data from measurements of radiation balance R 
and heat exchange in the soil A ,  the formula 

(2.47) 

Application of these relations permitted us to obtain series of data on the 
integral coefficient of diffusion for land conditions. 

As an example, we can mention the results of a special investigation done 
in the Leningrad region on a site covered with grass (Budyko et al., 1956). 
In this work observations of the earth’s surface temperature were made by a 
radiation thermometer, which made it possible to provide the accuracy of 
measurements necessary for calculations. The mean value of coefficient D 
was found by Eq. (2.47) for several dozen series of observations conducted in 
daytime and proved to be equal to 1.02 cm sec-l. Simultaneously, it was 
established that in daytime the coefficient D does not have a significant 
diurnal cycle. 

A detailed climatological analysis of the coefficient D was carried out in 
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the works of Broido (1957, 1958). In these investigations, the values of the 
coefficient were calculated for numerous points, and maps of its monthly 
means for the European part of the USSR were constructed. 

It was established in Broido’s papers that the mean value of the coefficient 
D does not vary much in time and space. Taking into account this fact and the 
insufficient accuracy of existing methods for climatological calculations of the 
coefficient D, one might consider that the information now available on the 
space-time distribution of this coefficient to a large extent has qualitative and 
not quantitative significance. 

On the basis of available data, one can draw the following general con- 
clusions concerning the basic properties of the integral coefficient of diffusion. 

1. The integral coefficient of diffusion varies little in relation to the level 
at which the temperature (or humidity) of the air is measured, if this level 
is higher than 1 m. 

2. Mean values of the integral coefficient of diffusion in the daytime for 
land conditions are of the order of 1.0-1.5 cm sec-l. With inversions, the 
integral coefficient of diffusion decreases in comparison with its values at  
superadiabatic gradients of temperature; however, the dependence of the 
integral coefficient of diffusion on temperature stratification is noticeably 
less than the dependence of the exchange coefficient. (This is associated with 
changes in the conditions of heat exchange near the earth’s surface that result 
in corresponding changes in the Coefficient 8.) 

The mean values of the coefficient D for mean daily conditions are notice- 
ably less than those for daytime. In the warm season on land, they are 
approximately equal to 0.6-0.7 cm sec-l. 

3. In arid regions, the integral coefficient of diffusion is larger than in 
humid regions. On extensive water bodies, the integral coefficient of diffusion 
changes significantly with variations in wind speed. Under land conditions, 
the dependence of mean values of this coefficient on wind speed is less, since, 
first, the variability of mean wind speeds over a large part of the land surface 
is comparatively small, and, second, a decrease in wind speed at super- 
adiabatic gradients leads to an increase of the thermal influence on turbulent 
exchange-this influence compensating the reduction of the integral coeffi- 
cient of diffusion [refer to Budyko (1947, 1948), and elsewhere]. 

A smaller variability of the integral coefficient of diffusion for land con- 
ditions, in comparison with the variability of the exchange coefficient, 
facilitates the use of its mean values in climatological calculations. In addition, 
for conditions of water bodies, it is usually necessary, even in calculations of 
heat exchange for a long period of time, to take into account the dependence 
of the coefficient D on wind speed. This problem will be discussed in detail 
below. 
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Determination of the turbulent sensible-heat flux 

Determination of the vertical turbulent flux of sensible heat both by means 
of direct measurements and on the basis of indirect climatological calcula- 
tions has a number of difficulties. 

Let us first consider some methods for determination of this heat flux from 
data of special observations. Among these methods, the gradient method is 
most generally used, associated with measurements of the vertical gradient 
of temperature in the surface layer of air. 

In this case, calculation of the turbulent sensible-heat flux is done by Eq. 
(2.36), which includes two variables-the difference in temperature at  two 
heights and the coefficient of turbulent exchange (k) at a single height. To 
determine the exchange coefficient, one uses Eq. (2.30) or (2.37). In the first 
case, for the determination of the exchange coefficient, it is necessary to 
have additional data on wind speed (and also on the roughness of the obser- 
vational site); in the second case, one must have data on the radiation balance, 
the flow of heat into the soil, and the difference in specific humidity at two 
heights. 

Experience has shown that determination of the turbulent sensible-heat 
flux by gradient observations requires thorough preparation. An especially 
difficult task is the choice of a site for gradient observations. This site ought 
to be open and absolutely homogeneous in terms of the state of the under- 
lying surface within a radius of not less than several hundred meters. Even 
comparatively small obstacles not far from the observational site may distort 
the gradients observed. Considerable distortion of measured values may 
appear even at a seemingly quite homogeneous surface in case different parts 
are not equally moist. 

Because the indicated requirements as to the choice of observational site 
are often not easy to meet, the data of mass gradient observations are not 
always of sufficiently high quality. On the other hand, data of gradient 
observations obtained under favorable conditions often give valuable material 
for investigating the regularities of turbulent heat exchange between the 
earth’s surface and the atmosphere. 

Special difficulties arise in conducting gradient observations at the surface 
of water bodies. In this case, observations on the masts of ships often give 
unsatisfactory results, since the hull of the ship significantly distorts the fields 
of temperature, humidity, and wind. Best results can be obtained by mounting 
the instruments on special devices extending out on the windward side of the 
ship to some distance from its hull. In some investigations, masts installed on 
floating buoys are used for this purpose. 

When determining the turbulent sensible-heat flux with the aid of data of 
gradient observations on land, one should bear in mind that this flux often 
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displays a pronounced diurnal cycle. Because of the substantial increase of 
the turbulent exchange coefficient when temperature decreases with height, 
in comparison with inversion conditions, the turbulent sensible-heat flux 
directed from the earth’s surface to the atmosphere is usually much greater 
than the flux directed to the earth’s surface. This regularity, which is some- 
times called the valve effect (Budyko, 1948), should be taken into account 
when determining the sums of turbulent heat fluxes over observational 
periods of greater or smaller length. Thus, for example, for calculation of 
the diurnal sums of the turbulent sensible-heat flux during the warm season, 
it is of great importance to determine the values of this flux for the daytime 
period, when they are usually much greater than those at night. Thus, calcu- 
lation of the turbulent flux from diurnal mean values of the turbulent ex- 
change coefficient and vertical gradient of temperature may lead to large 
errors. 

For large water bodies, at the surface of which the diurnal cycle of the 
turbulent sensible-heat flux is insignificant, the valve effect does not occur. 

Determination of the turbulent sensible-heat flux by methods other than 
the method of gradient observations is associated with the use of special 
instruments. Among these are methods for calculation of the heat flux on the 
basis of measurements of pulsations of air temperature and vertical wind 
speed. There are also instruments for measuring turbulent heat flux that are 
based on the compensation principle (Aizenshtat, 1951 ; and others). These 
instruments are suitable for the measurement of the turbulent heat flux under 
conditions of bare soil. 

These methods are not yet widespread and are used only in individual 
experimental investigations. A partial exception to this is the method of 
gradient observations, now being used at several dozen Soviet meteorological 
stations. 

Since data of specific observations of turbulent sensible-heat exchange 
now available are comparatively few, much importance for climatological 
research attaches to the use of calculation methods for determination of this 
component of the heat balance. 

Equation (2.39), permitting the connection of the turbulent sensible-heat 
flux with the difference between temperatures of the earth’s surface and 
atmosphere, is often used for this purpose. When using this formula for 
calculating the value of the turbulent heat flux at  land surfaces, much diffi- 
culty is encountered in determining the temperature of the earth’s surface T, . 

A comparatively reliable method for determination of the temperature of 
the land surface is the method of the radiation thermometer, i.e., the method 
for calculating temperature on the basis of measurements of the flux of 
long-wave radiation. This method has been successfully used in a number of 
studies. 
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Among other methods for measuring the value T,, the use of thin resistance 
thermometers may in some cases give satisfactory results. These thermo- 
meters are laid on the more or less even surface of bare soil. 

Less accurate results in measuring the temperature of the underlying surface 
are given by mercury thermometers laid on the soil surface. Some studies 
[for example, Zubenok (1947)l have shown that even for conditions of bare 
soil, the utilization of mercury thermometers may give noticeable errors in 
measuring the temperature of the underlying surface. It should be noted, 
however, that the errors appearing with application of mercury thermo- 
meters are to some degree of a systematic character, which facilitates taking 
them into account when determining the sensible-heat flux. 

One of the papers on climatology of the heat balance (Budyko, 1947) 
proposed an approximate method for calculation of sums of the tuibulent 
sensible-heat flux, according to data of mass meteorological observations 
with the use of materials from measurements of the temperature of the soil 
surface with mercury thermometers. 

Such a method for calculating total turbulent sensible-heat flux was used 
in drawing the maps of this heat-balance component over the southern part 
of the European territory of the USSR. The values of the heat flux found in 
this way were confirmed by the heat-balance equation, with satisfactory 
results. 

Most often, in climatological calculations of the turbulent sensible-heat 
flux for land conditions, its values are determined from the heat-balance 
equation. In this case, the simplest way is to determine the turbulent sensible- 
heat flux as the residual component of the balance by the formula 

P = R - LE - A .  (2.48) 

This method, used in a whole series of papers, provides satisfactory results 
in those cases when the value P is not very small compared to other heat- 
balance components (mainly, as compared to the radiation balance). In 
those cases in which the turbulent flux is much less than the radiation balance, 
the “residual components” method may lead to large relative errors in 
calculation. There is even the possibility of an error in sign (that is, in direction) 
of the turbulent sensible-heat flux. 

Let us turn now to the problem of the turbulent sensible-heat exchange 
between a water surface and the atmosphere. 

Climatological calculations of the turbulent heat flux at water bodies are, 
as a rule, simplified in comparison with those for land, because of the 
possibility of using data of mass measurements of water-surface temperature. 
Here the diffusion method for calculation of the turbulent heat flux, based on 
application of Eq. (2.39), can be used for determining the values of the heat 
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flux by data of mass observations. This requires only the evaluation of the 
diffusion coefficient D in relation to meteorological factors. 

The problem of calculating this coefficient for water surfaces was discussed 
in a study by Sverdrup (1936a) aimed at  determining evaporation from a 
water surface. Sverdrup assumed that over the sea surface there is a thin sub- 
layer of height h, in which the exchange coefficient is equal to that of mole- 
cular diffusion (k = ko). Sverdrup considered that above this sublayer the 
turbulent exchange coefficient depends on height according to Eq. (2.41), 
namely, 

k = k1(z + z0). 

After having integrated Eq. (2.31) by z from 0 to z in the layer of turbulent 
diffusion, we can derive the ratio 

(2.49) 

(q is the specific humidity at height z, , qo is the specific humidity at  the upper 
boundary of the sublayer of molecular diffusion). 

Integrating Eq. (2.31) with respect to z within the limits of the sublayer of 
molecular diffusion, we find 

(2.50) 

(qs is the saturation specific humidity at the temperature of the evaporating 
surface). 

Excluding qo from Eqs. (2.49) and (2.50) and inserting the value of k ,  
from Eq. (2.26), Sverdrup obtained an equation for evaporation from the 
ocean surface : 

(2.51) 

where u is the wind speed at  height z l .  

mination of D and P: 
One can obtain from these formulas the following equations for deter- 

and 

(2.53) 

where T is temperature at height z l .  This formula was first derived by 
Kuz’min (1 938). 
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In  using Eqs. (2.51) and (2.53), one must determine two parameters: the 
roughness of the sea surface zo and the thickness of the sublayer of molecular 
diffusion h. 

Sverdrup postulated that in accordance with the known aerodynamic 
relation derived for rough pipes, the value of sea-surface roughness was 
equal to & of mean wave height. To estimate the value h, Sverdrup used the 
data of his observations in Spitsbergen and the data of observations made 
above the sea surface by Wiist. On the basis of these materials, he assumed a 
mean value of h equal to 0.10 to 0.15 cm. 

Rossby (1936) showed that roughness of the sea surface depends little on 
wave height and as a consequence can be considered constant for different 
wind speeds. 

Further investigations led to the conclusion that, although wind speed 
influences the roughness of the sea surface, this influence usually does not 
remain the same, due to the frequent lack of correspondence between the 
nonstationary regimes of wind and waves. When this correspondence is 
present, the roughness of the sea surface probably decreases with an increase 
in wind speed at comparatively low speeds, and increases with rising wind 
speed at high speeds (Wu, 1969). 

In a number of further papers (Sverdrup, 1937; and others), the Sverdrup 
formula received various improvements, but the relations found in these 
papers have not come into general use for calculations of evaporation and 
turbulent sensible-heat flux from water bodies. This might be associated with 
the fact that the models of diffusion in the lowest layer of air, used by 
Sverdrup as well as subsequent authors, have been difficult to confirm by 
reliable experiments. 

For this reason, most subsequent investigators, when studying the tur- 
bulent heat exchange at water bodies, preferred to use a simple hypothesis, 
according to which 

1 
- xu, 

mk - 
(2.54) 

where u is wind speed, and x is a dimensionless coefficient, which, at the given 
heights of measuring air temperature and wind speed, is considered to be 
constant. In this case, for calculation of the turbulent sensible-heat flux, 
they use the formula 

p = XPC,U(TW - T) ,  (2.55) 

by which averaged values of the turbulent flux are determined, averaged 
values of temperature and wind speed being generally used as initial data. 

The first such formula for evaporation was obtained in experimental 
studies of Shuleikin (1935), who applied it to studying the heat balance of the 
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Kara Sea. A little later, similar formulas for both the turbulent fluxes were 
proposed by Sverdrup (1  937). Later, the Shuleikin-Sverdrup formulas became 
generally used for determination of the mean values of the turbulent heat 
fluxes on seas and oceans. 

We should make some comment on the physical meaning of hypothesis 
(2.54). 

With an assumption that the turbulent sensible-heat flux is constant with 
height, it is easy to derive the relation 

(2.56) 

where Tz and T3 are air temperatures at levels z2 and z3. 
It is known that in the absence of a vertical gradient of temperature, the 

value of l//;, dzjk is equal to ~ ~ u ~ / [ l n ( z ~ / z , )  ln(zl/zo)], where u1 is wind speed 
at  height zl, and K is von Ka’rman’s constant; that is, the value is proportional 
to wind speed. The value of the ratio (Tz - T3)/(T, - T) defines, in this case, 
the conditions of turbulent diffusion in the air layer near the underlying 
surface. This value has been studied in a number of experimental investi- 
gations, which have shown that it depends relatively little on wind speed 
[refer to Budyko and Gandin (1966), and others]. Therefore, hypothesis 
(2.54) can be considered natural for small gradients of temperature. The 
question to what extent it is possible to use hypothesis (2.54) for calculations 
of turbulent fluxes when there is a substantial vertical temperature gradient 
requires special consideration. 

As pointed out above, it was long ago established that thermal stratification 
substantially influences the turbulent fluxes of heat and moisture in the near- 
surface layer of the atmosphere above the land. It has been found that in the 
lower layer of air, there is the so-called valve effect, according to which the 
turbulent sensible-heat fluxes directed downward are usually small in com- 
parison to the fluxes directed upward. Hence, the conclusion was reached 
that the mean values of the fluxes above the land surface are mainly deter- 
mined by their values in daytime (Budyko, 1946~). 

I t  follows from general considerations that the effect of vertical gradients 
of temperature on variations in intensity of the turbulent exchange above the 
ocean is less than the effect above land. 

Let us take into account the fact that the variation in intensity of turbulent 
exchange that occurs under the influence of thermal stratification depends on 
the Richardson number, which is proportional to the ratio 

(2.57) -- - Ri,, Tz - T3 
UI2 
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where T, = T(z,), T3 = T(z3),  and u1 = u(zl) are values of temperature and 
wind speed at certain fixed levels in  the lower layer of the atmosphere, with 
z3 > z2. 

The wind speed u1 above a water surface is, on the average, noticeably 
larger than above land, and the temperature difference T, - T3 is considerably 
less. Therefore, the typical significant values of Ri, above the sea are com- 
paratively small, which defines the smallness of the effect of stratification 
on the exchange above the sea. The first quantitative estimates of this effect 
showed that at moderate and high wind speeds, stratification changes the 
turbulent heat flux above the sea very little. Only at  low wind speeds might 
these changes become substantial (Budyko, 1948). 

Budyko and Gandin (1966) found mean values of ratio (2.57) for conditions 
on the land and oceans. It follows from these data that the value of the ratio 
for the North Atlantic is -& to 3% as large as its mean value in summer day- 
time conditions in the European territory of the USSR. Using these data, it 
has been possible to  calculate the effect of thermal stratification on the 
intensity of turbulent fluxes in the northern part of the Atlantic Ocean. This 
calculation shows that the effect of stratification increases turbulent exchange 
above the sea, on the average, by 5% in winter and 2% in summer. It is 
evident that these values are unimportant and lie within the range of the 
probable error of determination of the coefficient of turbulent exchange. 

It must be indicated that the above-mentioned evaluation characterizes 
the effect of stratification on the turbulent exchange at the height of 1 m. 
Let us take into account the fact that the Richardson number increases with 
altitude according to the same law as the turbulent-exchange coefficient. 
(This follows from the inverse proportionality of the vertical gradients of 
temperature and wind speed to  the exchange coefficient.) Therefore, the 
influence of stratification on the intensity of turbulent exchange that occurs 
immediately at the sea surface is unimportant. At the same time, the value 
of the integral coefficient of turbulent diffusion fundamentally depends on 
the intensity of exchange at the lowest levels, where the values of the local 
exchange coefficient are minimal. For this reason, as calculations show, the 
effect of temperature stratification on the integral coefficient of diffusion and 
on the vertical turbulent fluxes of heat and moisture turns out to be smaller 
than the effect of stratification on the exchange coefficient that relates to the 
1 m level. 

Thus, it appears that for estimation of the mean values of turbulent heat 
fluxes on the oceans, one could use formulas of the type of Eq. (2.55) with a 
constant value of the coefficient x, though for individual values of the fluxes 
over comparatively short periods, this is not always permissible. 

An analogous conclusion can be drawn concerning the necessity of taking 
into account the dependence of the coefficient x on wind speed. Some authors, 
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beginning with the above-mentioned investigations of Sverdrup, have 
considered this coefficient to be dependent on wind speed. This was the con- 
sequence of taking into account the influence of the sublayer of molecular 
diffusion, and also the hypotheses on the relationship between roughness 
and wind speed or other hypotheses. Since this dependence in the class 
interval of most frequent wind speeds usually is weak, its effect on the results 
of calculations of mean long-term values of the turbulent sensible-heat fluxes 
has been small. At the same time, it might be substantial in determinations of 
instantaneous values of the turbulent fluxes. 

Let us now turn to the problem of the possibility of using such formulas 
as Eq. (2.55) for determining monthly sums of the corresponding fluxes, not 
according to the data of individual observations, but according to the mean 
monthly values of the meteorological elements. 

When studying the geographical distribution of the turbulent heat fluxes 
at ocean surfaces, it is often difficult to use data of individual observations. 
Therefore, the question arises : to what extent would the calculation results 
be distorted if the monthly mean values of turbulent heat fluxes were deter- 
mined from such formulas as Eq. (2.55) by substituting in them the monthly 
mean values of wind, temperature, and humidity ? 

It was long ago indicated (Budyko, 1948) that for conditions at the land 
surface, such a method will often not do. Substitution of the daily mean 
values of temperature differences along the vertical into the formula for 
determining the turbulent flux not only reduces the value of this flux con- 
siderably but also is capable of misrepresenting its sign. I t  might be thought, 
however, that above the sea, due to the small diurnal variability of changes 
in temperature and humidity, calculation by means of formulas of the type 
of Eq. (2.55) with mean monthly values should not lead to  substantial errors. 
This supposition was confirmed by calculations of Strokina (1963), done dur- 
ing the preparation of maps of the heat balance of the oceans. Similar results 
have been obtained by Malkus (1962). According to her evaluations, the 
error in the values P and E, when calculated from monthly mean values, 
amounts to only 7y0, the ratio P / E  turning out practically free of error. 

These conclusions were subsequently confirmed in a paper of Budyko and 
Gandin (1966), based on the materials of observations at weather ships in 
the North Atlantic, which were worked up in the study of Kraus and Morrison 
(1966). These authors, using Eq. (2.55) and the analogous formula for evap- 
oration, made calculations of the mean monthly values of the fluxes P, 
and LE, from routine data of observations at nine weather ships. For the 
same weather ships, Budyko and Gandin made similar calculations from 
the monthly mean values (P, and LE,). Figures 14 and 15 present the com- 
parison of these results with the data of Kraus and Morrison. The coincidence 
proved very close, which confirms the possibility of using monthly mean 
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Fig. 14 Monthly means of the flux of sensible heat found by averaged (P.) and 
nonaveraged (PK) values of the meteorological elements. 

values of wind, temperature, and humidity when calculating turbulent fluxes 
at sea. 

I t  should be stressed that in Figs. 14 and 15, there is no systematic dis- 
crepancy of any kind between the data of calculations made by the author 
and Gandin and the data of Kraus and Morrison. This is explained by the 
small difference between the coefficient x applied in the calculations by 
Budyko and Gandin and the value used by Kraus and Morrison. Such 
difference is quite natural, since in our calculations the value x was deter- 
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Fig. I5 Monthly means of the flux of latent heat found by averaged (LE,) and non- 
averaged (LIZK) values of the meteorological elements. 
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mined by closing the heat-balance equation using just the monthly mean 
values and not the original data for the hours of observation. 

The problem of the possibility of utilizing averaged values of meteoro- 
logical elements in calculations of the turbulent heat fluxes from the oceans 
was also discussed by Garstang (1965). To determine the turbulent sensible- 
heat flux, he used Eq. (2.55) and the similar one for calculation of heat 
conversion in evaporation. Assuming that the parameter x is a function 
of wind speed and the Richardson number, Garstang calculated values of 
turbulent fluxes characteristic of various synoptic situations during two 
short periods at a weather ship on station in one of the regions of the 
Atlantic Ocean. 

Then, having estimated the frequency of occurrence of these situations 
under conditions of different tropical regions, Garstang constructed maps of 
the long-term means of the turbulent fluxes for the low latitudes of the 
Atlantic Ocean. These maps turned out appreciably different from those of 
the “ ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O ~ O  mapa”, and Garstang explained 
this difference by the use of nonaveraged data of the meteorological elements 
in his calculations. 

This explanation is, however, wrong. Comparing Garstang’s formulas 
with those used for the construction of the maps for the “ATnac TennoBoro 
6ana~ca  ~ ~ M H O T O  mapa,” one can easily see that they are but little 
different. For the interval of values of meteorological parameters used in the 
work of Garstang, the coefficient x in his formulas is, on the average, equal 
to 2. I x with the average deviation in individual cases being equal only 
to 10% of this value, which is sufficiently close to the value of the coefficient 
applied by the authors of the maps for the “ATnac TennoBoro 6 a n a ~ c a  
~ ~ M H O ~ O  urapa” (2.0 x 

Thus, in order to check the magnitude of the effect of using nonaveraged 
original data in calculations of the turbulent sensible-heat flux, it will suffice 
to compare the products U (Tw - T )  and u(Tw - T )  using the data of observa- 
tions used by Garstang. Such comparison shows that the products differ by 
2.4%, a very small amount. 

A similar analysis of the calculation of the latent-heat flux gives a still 
smaller difference, amounting only to 0.3%. 

Thus, the materials of Garstang’s work not only do not demonstrate the 
presence of substantial errors resulting from using averaged parameters when 
calculating the turbulent heat fluxes, but, on the contrary, confirm once 
more the possibility of such simplification of calculations. 

We must indicate that, indeed, the maps of turbulent fluxes drawn up by 
Garstang differ considerably from the corresponding sections of maps 
comprised in “ATnac TennoBoro 6 a n a ~ c a  3 e ~ ~ o 1 - o  urapa (Atlas of the Heat 
Balance of the Earth).” However, such differences are explicable by the 
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impossibility of ascertaining the long-term mean regime of the turbulent 
fluxes in different seasons on the vast expanses of the Atlantic Ocean from 
the data of two short periods of observations conducted in one region. 

Thus, the above data confirm the possibility of applying such formulas as 
Eq. (2.55) to the calculation of the turbulent fluxes of heat and moisture 
above the sea by use of averaged original data. 

Among other problems associated with the determination of turbulent 
sensible-heat fluxes, we would mention the role of the surface film of water 
with a lowered temperature and the effect of spray formed by waves, problems 
set forth in the works of Montgomery (1940, 1947). The first of these prob- 
lems was investigated by Timofeev (1963), who established that a thin surface 
film of water is slightly colder than the underlying layers. Such an effect can 
noticeably influence the oceanic heat exchange with the atmosphere, especi- 
ally at  low wind speeds. The problem of a possible effect of the cooled water 
film on the monthly mean values of the turbulent heat fluxes on the oceans does 
not seem quite clear, because of the insufficient amount of data concerning 
the existence of such film at  appreciable wind speeds and in the presence of 
more or less significant wave disturbance. 

The analysis of this problem by Malevskii-Malevich (1970) deserves 
special attention. It follows from his observational and computational data 
that the presence of the cooled water film at  low and moderate wind speeds 
may somewhat influence the turbulent sensible-heat flux directed from the 
water surface to the atmosphere. In middle latitudes, such an influence is 
unimportant in the winter months (when strong winds prevail), but becomes 
more noticeable in the warm season. In the summer months, the influence 
of the film could reduce the transport of heat from the ocean’s surface by 
7-10x. This, however, does not substantially change the annual sums of 
turbulent heat flux, due to the smallness of its absolute values in summer. 

The second problem was studied in the papers of Grabovskii (1956), who 
has shown, as a result of measuring the concentration of salt particles above 
the oceans, that spray formation influences the mean values of evaporation 
but little. This conclusion does not mean, however, that during short periods 
of time the heat exchange of spray with the surrounding air might not be 
considered comparable with the total heat exchange of the ocean with the 
atmosphere. 

I t  follows from the above that for the determination of the turbulent heat 
fluxes between the ocean and the atmosphere for a more or less long period, 
it is advisable at  present to use the well-known formulas of Shuleikin- 
Sverdrup. In this method, it is possible to use in calculations the time- 
averaged original meteorological observations. 

The value of the coefficient x in these formulas has been determined by many 
scientists [refer to Robinson (1966) and elsewhere]. In  research work carried 
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out in GGO during the preparation of “ATnac TennoBoro 6 a n a ~ c a  (Atlas of 
the Heat Balance)” (1955), the value of px, found by closing the heat-balance 
equations for the world ocean, proved equal to 2.4 x (under 
conditions of measuring wind speed and air temperature at  the heights usual 
in ship observations). 

In subsequent research, carried out in work on the “ATnac TennoBoro 
6ana~ca  ~ ~ M H O ~ O  mapa (Atlas of the Heat Balance of the Earth)” (1963), a 
slightly larger value of px, equal to 2.5 x g ~ m - ~ ,  was found. Other 
data on this coefficient will be given in the following chapter in connection 
with the discussion of problems of the water balance of the oceans. 

We shall only point out here that for individual regions of the world 
ocean and for different bodies of water, the mean values of the coefficient x 
may be slightly different. There are, for example, data indicating that this 
coefficient for inland seas (the Caspian Sea and the Aral Sea) is somewhat 
less than its mean values for the world ocean. 

I t  should be noted that, whereas mean values of the coefficient x relating 
to individual seas and oceans and to long periods of time vary comparatively 
little, the values of this coefficient over short periods of time may vary much 
more. 

For calculations of turbulent fluxes at water bodies for short periods of 
time, it may become necessary to take into account factors that are not very 
important when determining the long-term means of fluxes. In such cases, 
it is advisable to use more detailed formulas, such as those obtained in the 
works of Bortkovskii and Biutner (1969, 1970). Taking into account the 
limited available materials for checking these formulas by experimental 
data, it is possible to consider that they permit us to determine the values of 
the turbulent fluxes for short periods of time more accurately than the 
schematized formulas of Shuleikin-Sverdrup. 

At the same time, the errors in calculating instantaneous values of the 
turbulent fluxes with such formulas are probably large, particularly for the 
reason that the wave regime is often nonstationary and does not correspond 
to the wind observed at the given moment of time. In this connection, the 
roughness of the water surface varies within wide limits, which possibly 
affects the instantaneous values of the coefficient x. Formation of spray and 
other factors may also influence this coefficient. 

For determination of the turbulent sensible-heat flux at water bodies, 
formulas based on the so-called “ Bowen ratio” are often employed. These 
can be derived as follows. 

Integrating Eq. (2.31) by z,  we find a relation analogous to Eq. (2.39), 

E = @(qs - 41, (2.58) 

where qs is the saturation specific humidity at the temperature of the water 
surface. 

g 
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It  follows from Eqs. (2.39) and (2.58) that 

(2.59) 

This formula permits the calculation of values of the turbulent sensible- 
heat flux when data on evaporation are available. In cases when there are no 
data on evaporation, but there are data on the radiation balance R and 
internal heat exchange in the water body A ,  one can use for calculation of the 
sensible-heat flux the relation 

(2.60) 

derived from the heat-balance equation (2.16) and Eq. (2.59). 
The turbulent heat flux above water bodies can be determined also by 

Eq. (2.48). However, its application in this case is often complicated by the 
difficulty of making a sufficiently accurate calculation of the value of A for 
more or less extensive water bodies (or portions of them). 

Summing up, we should indicate that for climatological calculations of the 
turbulent sensible-heat flux from water bodies, it is best to use Eq. (2.55), 
which permits determination of the value of this flux from data only on water- 
surface temperature, air temperature, and wind speed. 

For determination of annual means of the turbulent sensible-heat flux at 
land surfaces, the heat-balance equation is often used in climatological 
calculations-the turbulent heat flux being calculated as a residual com- 
ponent of the balance. The annual and monthly means of the turbulent heat 
flux on land can also be calculated by means of jointly solving the equations 
of the heat and water balances, with calculation of the annual cycle of evap- 
oration and soil moisture. This method will be discussed below. 

3. The Flux of Latent Heat 

Evaporation from the land surface 

The conversion of energy in evaporation [latent-heat flux] is equal to the 
product of the latent heat of evaporation by the amount of evaporation. The 
latent heat of evaporation under natural conditions varies slightly in accord- 
ance with the change in temperature of the evaporating surface. The de- 
pendence has the form 

L = 597 - 0.6Tcal g-l, (2.61) 

where T is the temperature in degrees Celsius. In many climatological 
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calculations, one can use a constant value of the latent heat of evaporation, 
which is approximately equal to 0.6 kcd g-l. 

There are many different methods for determining evaporation under 
natural conditions. In discussing these methods, we shall take up first the 
relatively more complicated problem of determining evaporation from the 
land surface. 

As mentioned above, one of the oldest methods for determining evapora- 
tion is based on using evaporation meters [or lysimeters], the various con- 
structions of which for land conditions are based on measurements of the 
change in moisture in an isolated monolith of soil. 

It is known that because of complete or partial isolation of the soil mono- 
lith in the lysimeter from surrounding layers of soil, substantial distortions 
of evaporation conditions appear. Distortion of water-exchange conditions 
in the isolated monolith may lead to errors in determination of evaporation ; 
however, it must be borne in mind that weighed lysimeters can give errors 
in evaporation measurement even if such distortions are absent. This con- 
clusion follows from the elementary theory of weighed lysimeters (Budyko 
and Timofeev, 1952). 

Weighed lysimeters of the generally used types of construction cannot be 
considered absolute instruments, that is, instruments directly measuring 
evaporation. I t  is easy to understand that with the use of the weighed lysi- 
meter, only the moisture content of the monolith contained in the lysimeter 
can be measured. Therefore, when using the lysimeter at  a frequency of 
weighing equal to once in several days, it is necessary to have data on pre- 
cipitation and on surface and below-ground run-off. With respect to periods 
when the values of deep percolation and run-off are small compared to total 
precipitation (particularly in the warm season under conditions of insufficient 
moisture), it is generally considered that evaporation for this period of time is 
equal to 

E' = r + Awl, (2.62) 
where r is total precipitation, and Aw' is the change in moisture content in 
the soil monolith contained in the lysimeter. 

Actually, the value of evaporation in these conditions must be considered 
equal to 

E = r + Aw, (2.63) 

where Aw is the change in moisture content in the whole layer of active water 
exchange in the soil. 

As a consequence, the relative error of determination of evaporation when 
using the weighed lysimeter is equal to 

E -  E' A W - A w '  -- - 
E r + A w  ' (2.64) 
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and, in a period without precipitation, 

(2.65) 

Thus, in order to estimate the error involved in using a weighed lysimeter, 
it is necessary to calculate the ratio of the change in moisture content in the 
soil layer, the thickness of which corresponds to the depth of the lysimeter, 
to the change in moisture content in the whole layer of active water exchange. 

Aw # Awl (2.66) 

is encountered, then in measuring evaporation an error appears that is not 
associated with disturbance in the conditions of water exchange in the 
isolated monolith and which takes place with any frequent substitution of a 
monolith in the lysimeter. 

We shall illustrate this statement by the following example. Suppose that 
we utilize the lysimeter in a rainless period under soil conditions in which 
the upper layer has dried out to a depth equal to the depth of the lysimeter. 
In this situation, further flux of moisture originates from the deeper layers 
of soil. I t  is evident that in this case the weighed lysimeter would give wrong 
results (zero evaporation) with either frequent or infrequent change of 
monoliths. 

A similar situation will always appear if a noticeable flux of moisture 
in the evaporation process originates from layers of soil that are deep in 
comparison with the depth of the lysimeter. 

Using available observational data on soil moisture, one can estimate 
with the aid of Eq. (2.64) the results of utilization of lysimeters of 500-mm 
depth under different climatic conditions. 

I t  follows from these data that under conditions of the steppe and forest- 
steppe zones, and also in the forest zone during the second half of summer, 
a change in the amount of moisture in the 500-1000-mm layer is fully com- 
parable with that in the 0-500-mm layer, and often exceeds it. 

We can draw the conclusion that utilization of weighed lysimeters of 
500-mm depth under conditions of insufficient moisture is associated with 
definite errors in evaporation measurements. These errors, mainly relating 
to underestimation of the evaporation in rainless periods, may reach sizes 
comparable to the measured value itself. For periods of more or less abundant 
precipitation, the relative error in evaporation measurements will be appreci- 
ably reduced, as is seen from the above formulas. 

Thus, the weighed lysimeter of a limited depth (for example, 500 mm) 
cannot be considered a universal instrument that permits measurement of 
total evaporation under different climatic conditions. These lysimeters might, 

E - E '  A w - A w '  -- - 
E Aw 

If the condition 
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perhaps, give more or less reliable results with sufficiently damp soil and in 
the absence of massive root systems of transpiring plants. 

Evaluating the observational material on soil lysimeters, we should indicate 
that at  present some conclusions of a climatological character can be drawn, 
mainly on the basis of data obtained with the aid of the weighed lysimeters 
used in the network of stations in the USSR. However, taking into account 
the limited volume and not always sufficient accuracy of these data, we must 
recognize that for climatological calculations of the evaporative heat flux, 
data from lysimeters have essentially a supplementary value. 

Among other methods for determining evaporation [evapotranspiration], 
associated with the utilization of special observational data, it is necessary 
to note the gradient methods. These are analogous to the corresponding 
modes of determining the turbulent sensible-heat exchange (refer to Section 2 
of this chapter). 

The most reliable method for determining evaporation from the data of 
gradient observations is the heat-balance method. It follows from the heat- 
balance equation (2.16) and Eqs. (2.22) and (2.31) that 

a9 aT 
az az 

R = -Lpk-  - pCpk- + A .  

From Eqs. (2.31) and (2.67) we obtain 

R - A  
aTpZ , 

+ C P a q l a z  
E =  

or, after having integrated by z ,  

R - A  
E =  

TI - T2’ 
91 - 92 

L + c , -  

(2.67) 

(2.68) 

(2.69) 

where Tl - T2 and q1 - q2 are the differences of temperature and specific 
humidity at two heights. 

The last formula, similar to Eq. (2.60), permits us to determine the value 
of evaporation in periods of time with not very small values of the principal 
components of the heat balance, that is, mainly daytime conditions in the 
warm season. 

In this case, one must remember that in making calculations by this 
formula, one often can either neglect the value A or approximate it, since 
for a more or less long averaging period it is, as a rule, considerably smaller 
than the value R .  This simplifies the determination of evaporation appreci- 
ably. 



3 THE FLUX OF LATENT HEAT 91 

We should note that some investigators, when performing calculations of 
evaporation on land by Eq. (2.69), made errors when they utilized the diurnal 
mean or monthly mean of the differences Tl - T2 and q1 - q2. Since both 
these values have a considerable diurnal cycle, such averaging may lead, 
because of the relationship between them, to large errors in the determination 
of evaporation. 

To test this supposition, we compared the results of evaporation calcula- 
tions at an observation point over a year by Eq. (2.69), using values of Tl - T2 
and q1 - q2 from hourly observations and by use of the annual means 
(Budyko, 1946c, 1948). In the second case, the value of evaporation turned 
out twice as great as in the first case, which confirmed the impossibility of 
employing the mean characteristics of temperature and humidity gradients in 
evaporation calculations by Eq. (2.69). 

At present, Eq. (2.69) is generally used for determining evaporation 
according to data of expedition and special-station observations. This method 
is applied to determine evaporation at the heat-balance stations in the 

neHHIo cocTaBnrrIowHx TennoBOro 6 a n a ~ c a  (Manual for Gradient Observa- 
tions and Determination of Components of the Heat Balance),” 1964, 

C ~ ~ ~ C K O X O ~ ~ ~ C T B ~ H H ~ I X  none6 (Manual for Observing Evaporation from 
Agricultural Lands),” 1957.1 

The limited amount of available data of gradient observations make it 
difficult to use the method more generally in investigations of the evaporation 
regime. 

The same thing applies to the diffusion method for the determination of 
evaporation. This method, based on the utilization of Eq. (2.33), has been 
used in a number of investigations. Thus, for example, Thornthwaite and 
Holzman (1939, 1942, and elsewhere) developed the idea of Schmidt, who 
had suggested that evaporation be determined with reference to the vertical 
turbulent flux of water vapor [refer to Schmidt (1917,1925,1935)], and applied 
it to determining evaporation by Eq. (2.33) and the Rossby-Montgomery 
formula for the turbulent-exchange coefficient. In this case, to determine the 
difference in specific humidities q1 - q2, Thornthwaite and Holzman con- 
structed special instruments with which detailed observations of evaporation 
over about a year were carried out. 

As mentioned above, it was subsequently established (Budyko, 1946c, 
1948), that the calculations made by Thornthwaite and Holzman gave 
estimates of evaporation that were too low, in consequence of the fact that 
the Rossby-Montgomery formula did not take into account the effect of 
thermal stratification on turbulent exchange. 

As has been shown in these papers, utilization of such formulas as Eq. 

USSR. [Refer to ‘‘PYKOBOACTBO IIO rpaAHeHTHbIM Ha6nIoAeHHXM U onpeae- 

and ‘‘ PYKOBOACTBO IIO IIPOM3BOACTBY Ha6JIIoAeHHfi 38 HCIIapeHHeM C 
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(2.30) for determination of the exchange coefficient provides more accurate 
results in calculating evaporation by the diffusion method. 

Not dwelling on the more detailed features of the diffusion method, we 
shall indicate only that at present it is, with the heat-balance method, used 
mainly when generalizing the data of special-station and expedition observa- 
tions. 

The pulsation or eddy method, based on the determination of evapora- 
tion by the fluctuations of humidity and the vertical component of wind 
speed, has also not yet become widespread. 

Let us turn now to the problem of determining evaporation from the land 
surface by calculation methods that utilize the data of mass hydrometeoro- 
logical observations. 

Evaporation in the mean annual period according to the water-balance 
equation can be determined by the formula 

E = r - - f ,  (2.70) 

that is, as the difference between precipitation and run-off. 
This method for determining mean annual evaporation has been widely 

used in many investigations. Calculations of evaporation by the water balance 
have permitted the construction of a number of maps of evaporation and 
latent-heat flux (Kuzin, 1940, 1950; Budyko, 1947; Troitskii, 1948; “BoAHbIe 
pecypcbI H BoAHbm 6 a n a ~ c  Teppmopmi CCCP [Water Resources and Water 
Balance in the USSR],” 1967; and others) and have provided considerable 
material on evaporation means for the year. 

It must be kept in view that calculations of evaporation by Eq. (2.70) give 
more reliable results for relatively large areas, of the order of thousands or 
tens of thousands of square kilometers. For more limited areas, calculations 
made by Eq. (2.70) may lead to noticeable errors because of the difficulty 
of keeping accurate account of the redistribution of moisture by ground- 
water flow. 

For shorter averaging periods-for calculations of the annual march of 
evaporation, for determination of evaporation in individual years and 
months, and so on-one must, instead of Eq. (2.70), use the more general 
equation 

E = r - f - Aw. (2.71) 

Since the value of change of moisture content in the upper layers of the 
lithosphere Aw is hard to determine accurately, its value often being com- 
parable with evaporation in the indicated periods, calculations of evapora- 
tion by Eq. (2.71) do not always provide sufficiently reliable results. 

I t  is easiest to use Eq. (2.71) for determination of evaporation in the warm 
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season under conditions of insufficient moisture, when the changes in moisture 
content are mainly determined by the dynamics of moisture in the upper 
layers of the soil. 

Because the moisture of the upper layers of the soil is measured in the 
USSR at numerous agrometeorological stations, it is possible to calculate 
evaporation for these conditions by Eq. (2.71) with the use of the data of mass 
hydrometeorological observations. In this case, the great spatial hetero- 
geneity of the field of soil moisture should also be taken into consideration. 
This requires considerable averaging of the basic data in carrying out 
climatological calculations of evaporation. 

Since considerable areas of land are without run-off data, the utilization 
of Eq. (2.71) without any additional relationships cannot be considered a 
universal means of determining evaporation from land, even for mean 
annual conditions. 

For this reason, a number of investigations are directed toward working 
out methods for determining evaporation from land surfaces by use only of 
data of mass observations of the principal meteorological elements : precipi- 
tation, air temperature, and humidity. 

In one of the first pieces of research of this orientation (Wundt, 1937), by 
generalizing calculated evaporation data by the water balance, an empirical 
relationship between annual evaporation and precipitation with the annual 
mean temperature was established. Wundt’s nomogram, constructed on the 
basis of this relationship, has been used in some hydrological research, for 
example, by L‘vovich (1945) when he calculated the norms of run-off on the 
different continents. 

Checking Wundt’s nomogram shows (Budyko, 1951) that it gives rather 
noticeable errors in calculated evaporation. These errors are presumably 
associated to some extent with the fact that Wundt was not quite successful 
in selecting annual mean temperature as an index of the influence of the 
thermal regime on evaporation. (It is known that mean annual temperatures 
in middle and high latitudes depend substantially on conditions of the cold 
season, while evaporation in these latitudes is almost completely determined 
by conditions of the warm season.) 

Another approach to the task of determining annual mean evaporation 
was offered by Ol’dekop (191 l),  in whose work the dependence of evaporation 
on precipitation and potential evaporation was found. In our papers (Budyko, 
1948, and others), on the basis of combined analysis of the equations of the 
heat and water balances of the land surface, we obtained the relationship 
equation-the dependence of evaporation upon precipitation and the radia- 
tion balance, which is a generalization of Ol’dekop’s formula. 

This equation establishes the relationship between the ratio of annual 
mean evaporation to precipitation E/r,  and the ratio of the radiation balance 
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to the amount of heat required for evaporation of the annual precipitation 
RILr, that is, 

(2.72) 

where @ is a function determined from semiempirical considerations. 
The development of the relationship equation will be provided in Chapter 

VI. We give here a table constructed on the basis of this equation and per- 
mitting the calculation of annual evaporation (Table 10). 

TABLE 10 
RELATION BETWEEN PRECIPITATION, EVAPORATION, 

AND RADIATION BALANCE 

0.10 0.10 
0.20 0.20 
0.30 0.28 
0.40 0.35 
0.50 0.44 
0.60 0.50 
0.70 0.56 
0.80 0.62 
0.90 0.66 
1 .oo 0.70 

1.20 0.76 
1.40 0.82 
1.60 0.86 
1.80 0.88 
2.00 0.90 
2.50 0.94 
3.00 0.97 

Compared to the problem of determining annual evaporation, the task of 
calculating evaporation from data of mass meteorological observations for 
such periods as months and ten-day periods is much more difficult. 

In one of the first studies of this task, Kuzin suggested that land evapora- 
tion under the conditions of surplus moisture be determined by a method 
similar to the mode of calculation of evaporation from water surfaces. In 
his papers (1934, 1938), Kuzin used for determination of evaporation the 
formula 

E = ad, (2.73) 

where d is the humidity deficit, and R is a dimensional coefficient. 
In one of these studies Kuzin (1938) also offered an empirical formula for 

determination of evaporation in individual months under conditions of 
insufficient moisture. 

Poliakov (1946, 1947) was the first to use routine material on changes in 
moisture of the upper soil layers for determination of evaporation. This 
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enabled him to find the empirical relations of evaporation with meteoro- 
logical factors for the condition both of surplus and of insufficient moisture. 

Albrecht (1951) offered several methods for calculation of the annual 
march of evaporation from land. Some of these methods are based on 
utilization of the formula 

(2.74) 

where es is the absolute saturation humidity at  the temperature of the earth’s 
surface, e is the absolute humidity, Y(u) is a function depending on wind 
speed, and + is a parameter defining the influence of properties of the under- 
lying surface on the reduction of evaporation. (Albrecht calls it “the portion 
of the surface covered with water.”) 

In this formula, with a completely wet surface, + = 1 (and the formula 
converts into the well-known relationship for evaporation from a water 
surface); with a partially dried soil, + < 1. 

Equation (2.74) does not seem satisfactory enough, since it plainly gives 
the wrong dependence of evaporation on humidity. Indeed, if a soil is partly 
dry and evaporation is reduced in comparison with that from a water surface, 
+ must be less than unity. Let us assume, for example, that + = 0.7. Then, 
according to Albrecht, evaporation (under the conditions of isothermal 
stratification in the air layer near the surface) must equal zero when relative 
humidity is equal to 70%, and when relative humidity exceeds 70% con- 
densation must begin. The observational data of humidity gradients in the 
air near the surface show that nothing of this kind is observed under natural 
conditions. 

I t  is typical that Albrecht did not succeed (as he admits) in establishing the 
relationship between the parameter + and the humidity of the upper layer 
of the soil, though, according to the implication of the problem, this param- 
eter must primarily represent the changes in soil moisture. 

Among other methods for climatological calculation of evaporation re- 
commended by Albrecht, we shall mention the heat-balance method, based 
on utilization of the following equations: 

(2.75) 
1 
L 

E = - ( R  - P - A),  

and 
P = (Tw - T )  Y’(u), (2.76) 

where Y‘(u) is a function depending on wind speed. 
Application of this method (similar to the method used in our paper of 

1947) is made difficult by the complicated interpretation of available data 
from network observations of soil-surface temperature. Besides, in calculating 
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evaporation by Eq. (2.75), we often get a rather large relative error, because 
the difference between the values R and (P + A )  is, in some cases, not very 
great relative to the value of R. 

There are a number of investigations, in which various empirical and semi- 
empirical formulas have been offered for determining evaporation from 
land for limited periods of time (Turc, 1955; Konstantinov, 1968; Mezentsev 
and Karnatsevich, 1969; and others). Not dwelling on their contents, which 
have been discussed in a number of published monographs, we will turn to 
the question of determining evaporation by means of calculation of com- 
ponents of the water balance. 

Determination of evaporation from land according to the water balance 

The water-balance method, based on utilization of Eqs. (2.70) and (2.71) 
has, from our point of view, the best prospects for determining evaporation 
from land over limited periods of time. Since the values of run-off and changes 
in moisture content included in these equations are often unknown, then for 
calculating evaporation it is necessary to take into account the relation of 
these water-balance components with the observed hydrometeorological 
elements. The first scheme of evaporation calculation based on this idea 
(Budyko, 1950) involved the employment of relatively complicated calcu- 
lations. Later on, it turned out to be possible to simplify the developed 
model of evaporation calculations, and at the same time make it more 
detailed. 

We shall set forth here the concept of this method for calculating the annual 
cycle of evaporation. 

At the beginning of this century, it was known that the process of evapora- 
tion from the soil surface is defined by several different phases. In the first 
phase of evaporation, with the availability of a considerable amount of 
moisture in the soil, the evaporation rate depends little on soil moisture and 
is determined, in general, by external meteorological factors. This statement 
was corroborated in the papers of Alpat’ev (1950, 1954), who showed that 
for fields covered with agricultural vegetation, the first phase of evaporation 
is observed over a comparatively wide range of soil moistures. 

In this case, evaporation is equal to the value of potential evaporation, 
which is defined by meteorological conditions and to a limited extent de- 
pends on the properties of the evaporating surface. I t  can be shown that 
potential evaporation is closely connected with the balance of radiant 
energy at the earth’s surface (refer to Chapter VI of this book). 

As the soil becomes dry, beginning at  its critical moisture the evaporation 
passes into a second phase, in which the evaporation rate rapidly decreases 
with the decrease of soil moisture. There are many experimental data showing 
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that, in this case, the relation of the rate of evaporation from soil to the soil 
moisture can be considered close to linear. 

On the basis of these considerations, and taking into account the relations 
of river run-off with other components of the water balance of the land, we 
can construct a quantitative model permitting the calculation of evaporation 
for individual periods dependent on meteorological elements observed in 
the network of stations [refer to Budyko, (1950, 1955), Budyko and Zubenok 
(1961)l. 

Let us assume that, with the moisture of the upper soil layer w being equal 
to or more than a certain critical value wo, evaporation E is equal to potential 
evaporation Eo . At w < wo, evaporation reduces in  correspondence with the 
decrease in moisture by the formula 

W 
E =  Eo-, 

WO 
(2.77) 

the values w and wo characterizing the amount of available water in the soil 
(that is, accessible to plants). 

In determining the values of critical soil moisture wo, it has been established 
that for the upper soil layer of 1 m depth, the value of wo is usually equal to 
a layer of available moisture of 10-20cm, these values varying slightly, 
depending on geographical conditions and season. As a result of analysis of 
data on the water balance of the soil, Zubenok (1968) obtained the following 
rounded values of the parameter wo for various climatic conditions in the 
territory of the USSR. 

In the forest zone, the value of wo varies from 20 cm at a monthly mean air 
temperature below 10" in spring, to 15 cm in summer. In the forest-steppe, 
steppe, and semidesert zones, wo in spring amounts to 17 cm. In summer, the 
values of wo reduce to 12 cm in the forest-steppe zone and to 10 cm in the 
steppe and semidesert zones. With an autumn decrease in monthly mean 
temperature below 3" in all zones, a certain increase of wo is typical. Under 
desert conditions, wo is about I5 cm, increasing to 30 cm in summer in those 
months when the potential evaporation exceeds 20 cm month-l. Absence of 
any noticeable annual cycle of critical humidity is characteristic of the zone 
of permafrost. In this zone, the monthly means of wo are approximately equal 
to 20 cm. 

Variations of the value of wo are associated with changes in the state of 
vegetation and to some extent show the activity of the root system of plants. 
The more developed the root system and the more efficiently it extracts 
water from soil, the smaller is the value of w,, . 

Since the value of soil moisture w in most regions cannot be obtained 
from observational data, then in order to calculate evaporation in single 
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months, one could use the water-balance equation in addition. This equation 
has the following form (see Eq. 2.71): 

r = E + Aw +f, (2.78) 

where r is the precipitation; Aw is the variation of the amount of water in the 
active layer of the soil, where, in general, water exchange occurs; and f is 
the horizontal flow, equal to the sum of surface and ground run-off. 

It must be noted that the value f by no means coincides with the value of 
stream run-off in the given period, since the formation of stream run-off is 
a rather long process. The horizontal flow included in Eq. (2.78) approaches 
the value of stream run-off only in the mean annual period. 

Calculation of evaporation by Eqs. (2.77) and (2.78) becomes noticeably 
simplified under conditions of a climate with insufficient moisture, when 
horizontal flow is absent. For this reason, we shall first set forth the calcula- 
tion scheme for this simpler case. 

Under conditions of extreme insufficiency of moisture, the water-balance 
equation has the form 

r = E + Aw. (2.79) 

If we designate the mean moisture of the active soil layer at  the beginning 
of a month by w l ,  and that at  the end of it by w2,  then Eq. (2.79) can be 
rewritten as 

r = E + (w2 - wl). (2.80) 

In this case, 

(2.81) 

(2.82) w1 + w2 E = Eo at - >, wo.  

To calculate the evaporation in each month, it is possible to use the method 
of successive approximation. 

Choosing at random a value for soil moisture at  the beginning of the first 
month, we can calculate, with the aid of Eq. (2.80), the moisture at the end 
of this month w2 and determine the evaporation by Eq. (2.81) or (2.82). 
Then a similar calculation can be carried out for the next month, assuming 
that for this month the value w1 is equal to the value w2 in the first month, 
and so on. After summing up all the calculated monthly values of evaporation, 
the result should be compared with the annual sum of precipitation. If the 
annual sum of precipitation is more than the computed evaporation, it 
means that the value of w1 chosen for the first month was underestimated, 
and if it is less, then the chosen value was overestimated. Changing the value 
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of w1 in the appropriate direction and repeating the calculation, one can use 
the method of successive approximation to find such a value of w1 in the 
first month for which the annual sums of precipitation and evaporation will 
coincide. The obtained monthly values of evaporation represent the desired 
result. 

Such a calculation method can be applied to conditions of insufficient 
humidification, when in each month precipitation is much less than potential 
evaporation. Such conditions are observed in many regions of desert, savanna, 
and dry steppe in low latitudes. 

I t  must be indicated that this simplified scheme can be used for deter- 
mination of evaporation both if run-off is present, in case it appears chiefly 
as a result of spring snow melting, and if its annual mean is known from 
observational data. Calculation of evaporation and soil moisture in this case 
is carried out for the warm season with the mean temperature in each 
month above zero. Determining evaporation for the first month with a 
positive temperature, one must add to the total precipitation in this month 
the sum of precipitation in the cold season with temperatures below zero 
and subtract from this sum the annual run-off. In determining the water- 
balance equation by the method of successive approximation, one must 
compare evaporation over the year with the difference between the annual 
sums of precipitation and run-off. This method can be used, for example, 
for many regions of the USSR with a climate of insufficient and moderately 
surplus moisture. 

The above models for calculation of monthly values of evaporation do 
not solve the problem of determining evaporation in those cases in which 
the annual sums of precipitation are close to the values of potential evapora- 
tion and when run-off is formed in different seasons. 

To determine evaporation under different conditions of moisture, one 
can use a more general model, in which the formula of the water balance 
for each month is taken into account in the form of the full Eq. (2.78). 

Since the value of horizontal flow in each month, as a rule, cannot be 
determined from observational data, we must calculate it from other hydro- 
meteorological elements. This task is complicated by the fact that horizontal 
flow is, to a considerable extent, associated with extreme values of the 
elements of the hydrometeorological regime and depends to a lesser degree 
on the monthly means used in our calculations. 

However, taking into account the availability of certain relations between 
mean and extreme values of the elements, it is possible to offer an approxi- 
mate scheme for keeping an account of run-off values, which is based on the 
following considerations. 

For each month the run-off coefficientflr has values from 0 to 1. (When 
calculating the run-off coefficient during a period of snow melting, one must 
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add to the sum of precipitation for this period the sum of solid precipitation 
during the cold season.) 

I t  is evident that the run-off coefficient depends on the soil moisture. I t  
can be considered that for a completely dry soil at w/wk = 0, run-off is 
also equal to zero. (wk designates the greatest supply of available moisture 
that can remain in the upper layers of soil in the absence of any connection 
with ground water.) With an increase in moisture, the run-off coefficient 
grows, reaching its maximum at  w/wk = 1. This relation can be presented 
in the form 

f w 
- = P - ’  
r wk 

(2.83) 

where p is a dimensionless coefficient of proportionality. I t  is evident that 
the value of p will depend on intensity of precipitation and will increase in 
the regions of frequent convective rains. 

Equation (2.83) can be used for estimating run-off under conditions of 
insufficient humidification, when the monthly value of potential evaporation 
is greater than precipitation (E, > r ) .  Under conditions of plentiful moisture, 
when precipitation is greater than potential evaporation, run-off is immediately 
influenced by the value of the difference r - E,. With complete humidifi- 
cation of the sod, when w/wk = 1, the value of run-off will approach as a 
limit r - E , ,  that is, in this case the run-off coefficient will be close to the 
value 1 - E,/r. At W / M . ~  < 1 and r > E, ,  the run-off coefficient will be less 
than the indicated value, its value being dependent both on the parameter 
( = 1 - Eo/r and also on the intensity of the rains. 

We present this dependence in the form 

Thus we obtain an equation for calculation of horizontal flow: 

W 

wk 
f = p r -  

We must mention that in these 

(2.84) 

+ ( 1  - ,)’),’’ at  r > E , ,  (2 .85)  

at r < E, .  (2.86) 

:quatiom, the presence of two forms of 
run-off having different physical meanings is taken into account. The first, 
having taken place at r < E , ,  is a consequence of short falls of heavy pre- 
cipitation that create a brief over-saturation of the soil and are to a known 
degree disposed of as run-off. The sum of this form of run-off is equal to 
pr(w/iitk). I n  cases when r > E , ,  to the first form of run-off is added the 



3 THE FLUX OF LATENT HEAT 101 

second, which appears as a result of surplus moisture being available all 
through the month. Such run-off does not depend on the character of the 
rains and with high soil moisture approximates the difference between the 
precipitation and the potential evaporation. 

It must be indicated that Eqs. (2.83-2.86) are interpolative and their 
accuracy is limited. Application of such formulas to calculations of evapora- 
tion is justified in those sufficiently frequent cases when changes in run-off 
have relatively little effect on the value of evaporation. 

The practical accuracy of calculations of the annual march of run-off by 
Eqs. (2.85) and (2.86) can be increased if there are reliable materials on the 
annual norm of run-off in the given region, obtained from observations. In 
such a case, the annual mean of the coefficient p can be calculated from the 
comparison of the annual sum of calculated run-off with observational data. 

If there are no observational data on run-off, the parameter p can be calcu- 
lated from data on the annual sum of run-off obtained by climatological 
calculation methods, or approximate values of this parameter can be used 
for different geographical zones. 

Calculations have shown that the coefficient p has the smallest values in 
high and middle latitudes. In subtropical and tropical latitudes the coefficient 
p increases, because of the frequent rain showers. In  carrying out calcula- 
tions for constructing world maps of evaporation, the mean value of p = 0.2 
was used for regions northward from 45" N and southward from 45" S .  For 
areas between 45" N and 45" S ,  the coefficient p was assumed equal to 0.4-0.8, 
depending on the conditions of humidity. 

Comparisons of the results of determining monthly means of evaporation 
according to the above models with data from the water balance are pre- 
sented in the paper of Budyko and Zubenok (1961). 

In the papers of Zubenok (1966a, 1968, and others), these models have 
been used for calculation of evaporation in individual months of different 
years. The data obtained were compared with evaporation values calculated 
according to data of gradient observations conducted at the stations in 
various regions of the USSR. This comparison shows that independent 
methods for determining evaporation provide sufficiently close results, which 
are in especially good conformity in regions of sufficient moisture. The 
models mentioned for calculation of evaporation have been applied in 
various investigations, including studies on the theory of climate (Manabe 
and Bryan, 1969, and elsewhere). 

It must be indicated that application of the above method (as well as the 
application of all other methods for the calculation of evaporation that are 
based only upon climatic factors) provides better results when evaporation 
means are determined for large areas. For calculation of evaporation from 
limited areas, such a model must in many cases be made more detailed, 
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taking into account the effect of peculiarities of the soil, vegetation cover, and 
relief on evaporation. 

The task of determining evaporation from limited areas in terrain where 
the earth’s surface has a heterogeneous structure may be very complicated. 
Difficulties associated with its solution are at  present still not fully overcome. 

Evaporation from the surface of water bodies 

The task of determining evaporation from the surface of water bodies is 
simplified in comparison with land conditions, as a result of the fact that 
humidity at the level of the water surface is equal to the saturation humidity 
at the temperature of the water surface. At the same time, data on the water 
balance of small bodies of water permit us, in many cases, to determine 
evaporation in the annual cycle more reliably than for land conditions. 

Let us look first on the question of applying evaporimeters to the measure- 
ment of evaporation from reservoirs. 

Methods for determination of evaporation with the use of evaporimeters 
differ slightly between the cases of measuring evaporation from the surface 
of small water bodies and those of measuring evaporation from the seas and 
oceans. Most papers on the procedure of using evaporimeters are aimed at  
the solution of the first of these tasks, which has practical importance. 

In early papers on measuring evaporation, it was supposed that the rate of 
evaporation from a small open vessel, filled with water and placed in the 
open air, is equal to that from a body of water. As a consequence, to deter- 
mine evaporation from the water body, the value from the evaporimeter [or 
evaporation pan] was directly multiplied by the ratio of the water body area 
to the area of the pan. However, it was long ago noticed that such a calcula- 
tion leads to considerably overestimated values of the evaporation rate from 
water bodies. 

This phenomenon has been explained by differences in the physical con- 
ditions of evaporation from an isolated pan and from a water body. For this 
reason, investigators directed their efforts to the development of floating 
evaporation pans, for which it was supposed possible to reach a full identity 
of evaporation conditions with those of the body of water. As a result of 
numerous observations, however, it became clear that floating pans also do 
not always give accurate results, because even with complete preservation 
of the natural conditions of water-vapor difftlsion, the evaporation rate varies 
because of the distortion of heat-exchange conditions in the upper layers of 
water. (The heat conductivity of water in the pan differs noticeably from that 
of the upper layers of a water body, which is determined by turbulent mixing.) 
At the same time, utilization of floating pans often involves considerable 
technical difficulties, especially at high wind speeds. 

Measurement of the evaporation rate on seas and oceans by means of 
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evaporimeters commenced in the middle of the last century with Ladly’s 
observations. After the unsuccessful effort of Mohn to use floating evaporation 
pans at  sea (they are easily flooded by waves), ship evaporimeters mounted 
on the deck were used for observations. Initially, the evaporation rate from 
ship evaporimeters was measured by the reduction in water volume, but, as 
a consequence of difficulty in overcoming errors due to overflow of water 
from the pans because of rolling and pitching, this method was replaced by 
calculating the evaporation rate from the change in concentration of salt 
contained in the evaporimeter water, proposed by Dieulafait (1883). 

An original ship evaporimeter was constructed by Shuleikin (1941, 1953), 
who in order to measure evaporation used an open calorimeter filled with 
sea water, the heat exchange of which with the surrounding air takes place 
only through the water surface. 

I t  is possible to determine from the reading of a thermometer inserted in 
the vessel the rate of change in heat content of the water in the calorimeter, 
which defines the evaporation rate in the case when the algebraic sum of the 
radiation balance at  the evaporimeter surface and the value of the sensible- 
heat flux from the evaporating surface to the atmosphere is small relative to 
the sum of heat converted in evaporation over the given interval of time. 

I t  has been pointed out repeatedly that ship evaporimeters do not measure 
the precise value of evaporation from the sea because of the difference in 
conditions of evaporation for an isolated instrument and from the sea surface. 

More reliable results, in comparison to the method of evaporimeters, are 
commonly given by calculations of evaporation from water bodies made 
from their water balance. I t  follows from the water-balance equation that 
evaporation from water bodies can be determined from precipitation data, 
horizontal transport of water, and variation in water level. In some cases, it 
turns out to be necessary to take into account also the infiltration of water 
through the bottom of the water body, though usually this constitutes a small 
value compared to other components of the water balance. 

The method for determination of evaporation by the water balance is 
applicable, mainly, to restricted bodies of water over more or less long 
periods of averaging. I t  is usually impossible to determine evaporation by 
water balance for a portion of a water body (for example, for a single oceanic 
region), since in this circumstance it is extremely difficult to evaluate the 
horizontal redistribution of water. 

For comparatively short periods, the method of water balance is also 
difficult to use because the accuracy of determining water-balance com- 
ponents for short intervals often proves inadequate. 

For more or less detailed calculations of evaporation from water bodies, 
the diffusion method and the method of the heat balance are most frequently 
used. 
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The diffusion method for determination of evaporation from water bodies 
is based on the application of Eq. (2.58), which has been long used as an 
empirical relation, often called Dalton’s law. 

Empirical formulas of this type usually have been applied in the form 

E = (e, - e)  Y(u), (2.87) 

where e, is the absolute humidity of air saturated with water vapor, calculated 
from the temperature of the evaporating surface; e is the absolute air humidity 
at  some height; and Y(u)  is the “wind factor”-an empirically established 
function of the dependence of the evaporation rate on wind speed u. 

For the function Y(u) different authors have obtained a number of ex- 
pressions, in most cases having the form Y(u)  = M + Ku ( M  and K are 
numerical coefficients), but sometimes the form of a power dependence of 
the type Y(u) z urn, with numerical values of the coefficient m from 0.5 to 1.0. 

It  must be indicated that numerous experimental works carried out under 
diverse conditions confirm the direct proportionality of the evaporation rate 
to the humidity deficit calculated from the temperature of the water surface. 
The difference between the relations of evaporation to wind speed found in 
some investigations can be explained to a considerable extent by insufficient 
comparability of conditions of various evaporation pans, evaporimeters, and 
laboratory installations by means of which the relations were studied. 

I t  is clear from a comparison of Eqs. (2.87) and (2.58) that the question of 
form of the “wind factor” function coincides with that of the dependence 
of the integral diffusion coefficient D on wind speed. Because over more or 
less large bodies of water the vertical gradients of temperature in the lowest 
layer of air are, as a rule, markedly smaller than the corresponding gradients 
above land, the dependence of the exchange coefficient on wind speed in this 
case is satisfactorily described by the Rossby-Montgomery formula. 

This gives a basis for considering that the coefficient of integral diffusion 
on water bodies is proportional to wind speed, that is, 

(2.88) 

This equation, as indicated above, was first obtained by Shuleikin and at  
present is generally used in calculations of evaporation and the latent-heat 
flux. 

As was pointed out in the previous section, in determining evaporation, 
the value of the coefficient x p  can be assumed constant and approximately 
equal to 2.5 x g ~ m - ~  (when measuring wind speeds and air tem- 
peratures at the heights usually applicable for ship observations). 

In those cases when the temperature of the surface on a large water body 
differs considerably from the air temperature, it might appear necessary, in 
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determining evaporation, to take into account the effect of thermal stratifica- 
tion on turbulent exchange and evaporation. 

It was noted in the previous section that the effect of thermal stratification 
on evaporation decreases with an increase of wind speed, when the value of 
the Richardson number decreases due to the growth of the vertical gradient 
of wind speed. This inference was corroborated by calculations [refer to 
Budyko (1948)l. As a result of these calculations, it was established that for 
moderate and high wind speeds (usually observed over large water bodies, 
including the main portion of the ocean), the effect of the difference between 
the temperatures of water and air on the turbulent heat exchange and evapora- 
tion is insignificant. 

Not dwelling any longer on the problem of determining evaporation from 
extensive water areas, we shall point to some special features in the calculations 
of evaporation from the surface of comparatively small and restricted bodies 
of water. 

In order to determine evaporation from restricted water bodies, lakes, and 
so forth, one must often use observational data of the principal meteoro- 
logical elements at  meteorological stations near the shore. I t  has been estab- 
lished in the works of several authors that above a water body of even a few 
hundred meters size, wind speed, humidity, and temperature of the air often 
vary appreciably, because of the transformation of air masses above the 
water. These variations commonly produce a rather large influence on evapora- 
tion. As a result, in determining evaporation it becomes necessary to cast a 
quantitative accounting of the transformation process. 

In the papers of Jeffreys (1918), Giblett (1921), Sutton (1934), Laikhtman 
(1947), Iudin (in Budyko et al., 1952), Braslavskii and Vikulina (1954), 
Timofeev (1963), and other authors, various methods have been developed to 
determine evaporation from water bodies with consideration of the trans- 
formation of air streams. The results of these investigations permit us now to 
carry out calculations of evaporation from a variety of limited water bodies. 

Along with the diffusion method for the determination of evaporation 
from water bodies, the heat-balance method is in general use for this purpose 
in modern investigations. 

In 1915, Schmidt, who had calculated radiation balances of latitudinal 
zones of the oceans, made an attempt to determine the amounts of heat 
disposed of for evaporation in these zones. On the basis of very rough 
hypotheses, Schmidt assumed that the ratio of the latent-heat flux to the 
radiation balance in different latitudinal zones was equal to 0.4-0.8. 
Subsequent authors pointed out the inaccuracy of these estimates, and 
Schmidt later agreed with them. 

Angstrom calculated the heat balance of one of the Swedish lakes (1920) 
and came to the conclusion that the ratio of the amount of heat used in 
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evaporation to the total amount disposed of in evaporation and the turbulent 
sensible-heat exchange with the atmosphere was equal to 0.9. This estimate 
was used by Mosby (1936), who determined the latitudinal distribution of 
evaporation from the oceans with an assumption that in all zones the heat 
outgo for evaporation corresponded to 91 

The possibilities of reliable determination of evaporation from water 
bodies by the heat balance have become much greater after the Bowen ratio, 
Eq. (2.59), came into general use. 

With the aid of this ratio, it is possible to calculate from the heat-balance 
equation the evaporation (or the conversion of heat in it) on the basis of data 
on the radiation balance, temperature of the water surface, and humidity. 

of the radiation balance. 

In this case, the following formula is commonly used: 

(2.89) 

where Tw is the temperature of the water surface, and qs is the specific humidity 
of saturated air at  the temperature of the water surface. 

Such a method for determination of evaporation gives, as numerous 
checks have shown, rather accurate results, especially in determining evap- 
oration for long periods of time. Calculations of evaporation made by this 
method for short periods are, as a rule, less accurate, since in this case it is 
usually necessary to determine the values of the heat flux A ,  which is attended 
with much difficulty. 

Summing up the discussion of various methods for determination of the 
heat disposal in evaporation, we point out that for land conditions, it is 
more rational for climatological calculations of the annual mean of evap- 
oration to use the method of the water balance or the relationship equation. 
To determine evaporation in single months or 10-day periods, one can use 
the method of solving the equation of the water balance outlined above. 

For climatological calculations of the outgo of heat for evaporation from 
water bodies, it is usually most convenient to use the simple equation (2.88), 
i.e., the Shuleikin-Sverdrup formula. At the same time, methods based on the 
equations of the water and heat balances can be successfully used for this 
purpose. 

Determination of other components of the heat balance 

In most cases, all other components of the heat balance equation are 
markedly less in value than its principal components-the radiation balance, 
the latent-heat flux from evaporation, and the sensible-heat flux. Therefore, 
in calculating these additional components, one may often use simplified 
methods that permit obtaining an approximation to their values. 
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Let us consider first the problem of determining the heat flux directed from 
the earth's surface to lower layers of the soil or water. 

The heat flux directed from the earth's surface to the lower layers for land 
conditions can be calculated from the heat content of the upper layers of 
soil, the temperature of which varies over the corresponding period of time. 
Such calculation is easy to carry out if there are data on soil temperature 
at different depths through the whole layer of heat exchange, and the thermal 
capacity of the soil is known. 

If, in the period of time under consideration, some soil moisture freezes or 
melts, the component A will equal the sum of the change in heat content and 
the gain (or loss) of heat when freezing (or melting) of soil water takes place. 
The latter value can be approximately determined by data on soil moisture 
and the difference in the levels of the 0" isotherm at the beginning and end 
of the period under examination. 

When the annual cycle of heat exchange in the soil is calculated, obser- 
vational data obtained by the use of soil thermometers do not usually embrace 
the whoIe depth of the layer of heat exchange. To determine the inflow of 
heat to the soil with the availability of data on the temperature regime only 
in a layer of limited depth, one can add the change in heat content in the 
upper layer of soil to the value of the vertical heat flux between this layer and 
the underlying ones. The value of this flux can be calculated as the product 
of the coefficient of soil heat conductivity and the vertical gradient of tem- 
perature relating to the corresponding level. An example of such calculations 
is given in the paper of Tseitin (1953). 

Calculation of heat inflow into the soil is complicated in the presence of 
snow cover, since the heat capacity and heat conductivity of snow change 
within very wide limits, depending on its density. At the same time, there are 
usually no routine data on the vertical distribution of temperature in snow 
cover. At present, however, there is available a satisfactorily large amount 
of material on heat exchange in soil, both in the warm season and, partially, 
in the period of snow cover. Some conclusions drawn from this material can 
be used for approximate estimations of heat turnover in soil during the 
annual march. 

I t  is clear from general physical considerations that the annual cycle of the 
heat flux in the soil is closely connected with the annual amplitude of varia- 
tion of the temperature of the air. If the annual variation of temperature is 
insignificant, then, presumably, the monthly means of heat inflow into the 
soil must also be close to zero. 

The results of calculation of this heat flux actually show that at  an annual 
variation of temperature less than 10-1 5", the monthly sums of the heat flux 
are comparatively small and can be neglected in most approximate calcula- 
tions of the heat balance. This means that the heat flux in the soil is not of 
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substantial importance in the monthly sums of the heat balance in most 
tropical regions and many regions of marine climate in middle latitudes. 

According to calculations made by Mukhenberg for regions of the Northern 
Hemisphere with a significant annual variation of temperature, the annual 
march of the heat flux in the soil A ,  has, on the average, the form presented 
in Table 11. The values of the soil-heat flux Al in this table are expressed 
in the fractions of its maximum monthly value A , .  

TABLE 11 
ANNUAL CYCLE OF RELATIVE VALUES OF THE SOIL-HEAT  FLUX^ 

Jan. Feb. Mar. Apr. May June 

A1 -0.82 -0.64 0.03 1.00 1.00 0.91 
A2 -0.76 -0.59 -0.29 0.03 0.58 1.10 

July Aug. Sept. Oct . Nov. Dec. 

A1 0.56 0.26 -0.15 -0.52 -0.78 -0.85 
Az 1.10 0.95 -0.14 -0.48 -0.72 -0.72 

a Sign convention: + into the soil, - out of the soil. 

The maximum monthly value of the heat flux, as calculations show, 
depends on the annual variation of air temperature. According to available 
data, this dependence can be expressed, on the average, by the values presented 
in Table 12. 

For northern regions, where thawing of the soil begins at  the end of spring 
or in summer, the relations presented in these tables vary slightly. In those 

TABLE 12 

RELATION BETWEEN ANNUAL VARIATIONS OF 

AIR TEMPERATURE AT AND MONTHLY 
MAXIMA OF SOIL-HEAT FLUX A ,  

AT A m  

(degrees) (kcal cm-z month-l) 

10 0.35 
15 0.52 
20 0.68 
25 0.82 
30 0.97 
40 1.25 
50 1 S O  
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cases when the disappearance of stable snow cover begins after the first of 
May, the magnitudes of the soil-heat flux can be determined from the values 
in line A z  in Table I1 (also expressed as a fraction of Am).  

Using Tables 11 and 12, one can obtain from data only on the annual 
variation of temperature an approximate idea of the annual cycle of the 
soil-heat flux. In this case, the data obtained define mean conditions for a 
large region. (For specific points, the heat exchange in the soil possesses 
a large microclimatic variability, owing to differences in the thermal prop- 
erties of the soil. 

Calculation of heat exchange in water bodies is generally more compli- 
cated than that of heat exchange in the soil, because of the absence of any 
mass data from systematic measurements of water temperature at  different 
depths in most water bodies, including the seas and oceans. 

For individual parts of seas, oceans, or other water bodies one can deter- 
mine the value of the heat flux A as the residual component of the heat-balance 
equation. The annual mean of these values thus defines the redistribution of 
heat owing to the activity of currents and horizontal heat conductivity. 

For those water bodies for which there is a sufficient amount of data on 
temperature at  different depths, it is possible to determine the value of the 
change in heat content. Such a calculation, compared to that for land con- 
ditions, on the one hand, becomes simpler because of the virtual stability 
of the heat constants of water; on the other hand, for small water bodies, 
it might become more complicated because of the necessity of taking into 
account the heat exchange of the water with the underlying ground, which is 
usually difficult to determine. 

Because of the great importance of changes in heat content of the upper 
layers of ocean water in the heat balance of the oceans, it has been attempted 
many times to work out methods for determining this value without utilizing 
observational data on temperature at  various depths. One of the first methods 
of the type was offered by Fritz (1958), who established a relation between 
mean variations of temperature of the ocean surface and changes in heat 
content of the upper 100-m layer of water during the annual cycle. Later 
this method was improved by Strokina (1963, 1967a), in whose papers many 
oceanographic observations were used for studying these relationships. 

In  Fig. 16, we give a graph of the relation between changes in water heat 
content from month to month in the 100-m layer ( B )  and the corresponding 
changes in water-surface temperature (AT) ,  constructed by Strokina. The 
lines in this graph pertain to different seasons. 

Strokina found that the dependence shown in Fig. 16 changes little in 
different regions of the world ocean. 

Among other components of the heat balance, we should mention the 
accounting for the outgo (or release) of heat owing to melting (or freezing) 
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Fig. 16 Graph of the relationship between the changes in heat content of the 100-m 

oceanic layer and changes in water-surface temperature in the Northern Hemisphere. 
( 1 )  0ct.-Nov., Nov.-Dec., Dec-Jan., Jan.-Feb., Feb.-Mar., Mar.-Apr.; (2) Apr.-May, 
May-June, June-July; (3) July-Aug.; (4) Aug.-Sept., Sept.-Oct. 

of ice and snow, and the accounting of the redistribution of heat associated 
with falling atmospheric precipitation. 

Transformation of water from the solid to the liquid phase at  the earth’s 
surface, as well as the reverse process, conditions a gain or loss of heat that is 
considerably smaller than the annual sums of the principal components of 
the heat balance. (An exception to this might be in regions of more or less 
stable snow or ice cover.) However, for monthly sums of the balance com- 
ponents in certain periods in many regions of middle and high latitudes, the 
accounting of this component is very important. The procedure of such 
calculations is based on the determination of the quantity of surface moisture 
being melted or frozen. This value is multiplied by the latent heat of freezing, 
which approximately equals 80 cal g-l .  

In those cases in which there are no data from direct observations of the 
quantity of water melted or frozen, one can use for its calculation a number 
of procedures, some of which are based on heat-balance equations. State- 
ments of such procedures are contained, for example, in  papers of Sverdrup 
(1936b), Kuz’min (1947, 1948, 1950), and other authors and also in Chapter 
IV of this book. 

The transformation of more or less significant amounts of heat with falling 
precipitation is observed mainly in low-latitude regions, where, in  the rainy 
season, the fall of large quantities of comparatively cold water may lead to 
a noticeable cooling of the earth’s surface. The method for calculation of 
this component of the heat balance is very simple-its value is equal to the 
product of the quantity of fallen water by the difference between the tem- 
peratures of the water and the active surface. This method, however, is 
difficult to use, largely because of the absence of data of routine observations 
of the temperature of falling rain. 
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Some examples of calculations of this component for tropical regions are 
contained in the works of Albrecht (1940) and others. 

Not dwelling on the problem of determining other components of the 
heat balance that are usually smaller in magnitude than the above-mentioned 
components, we shall only note that Chapter VIII will deal with the task of 
determining the conversion of energy in photosynthesis of plants. Although 
this heat-balance component is, as a rule, much smaller than the principal 
components of the balance, its determination is extremely important for a 
number of biologic and geographic problems. 

4. The Heat Balance of the Atmosphere 

Utilization of special observations for the determination of the components 
of the atmospheric heat balance is associated with greater technical difficulty, 
as compared with observations of the components of the balance at  the level 
of the earth’s surface. 

The existing methods of observation permit the measurement of all the 
principal elements of the radiation regime of the atmosphere. The instru- 
ments used for such measurements are similar to those applied for actino- 
metric observations near the ground. At the same time, it is necessary to 
make some changes in construction of these instruments in order to use them 
in airplanes or other airborne carriers. 

To measure the elements of the radiation regime of the atmosphere as a 
whole, the instruments used should be placed beyond the atmosphere or, at  
any rate, at such great altitudes that the effect of higher atmospheric layers 
on the total characteristics of the radiation regime is small. 

Such a condition is met in observations conducted from earth satellites or 
geophysical rockets. The available calculations show that for estimating the 
radiation balance of the atmosphere as a whole, one can limit himself to 
considering radiative processes that occur in the troposphere (Kondrat’ev, 
1956, and elsewhere). In this connection, observations from planes ascending 
into the lower stratosphere might also provide valuable data on the atmos- 
pheric radiation balance. 

In earlier studies, observations made in the higher layers of the atmosphere 
have been used for elucidating general regularities in the radiative process in 
the atmosphere. At the same time, because of the comparatively short 
duration and nonsystematic character of these observations, they have not 
provided sufficient material for study of the radiation regime of the atmos- 
phere. 

In this respect, observations of elements of the radiation regime from 
satellites possess great advantages. Actinometric instruments installed in 
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long-lived satellites permit us to obtain a detailed characterization of the 
regime of atmospheric radiation along the trajectory of the satellite. Such 
observations have acquired great importance for the climatology of the heat 
balance of the atmosphere. 

To measure such components of the atmospheric heat balance as the 
release of the heat of condensation (Lr)  and the income (or outgo) of heat 
due to the action of advective processes (Fa), direct methods are lacking. The 
problem of measuring the turbulent transfer of sensible heat from the earth’s 
surface into the atmosphere (P) has been considered in Section 2 of this 
chapter. 

As in investigations of the heat balance at  the earth’s surface, the utiliza- 
tion of calculation methods for determination of the heat-balance components 
is of great importance in studies on the climatological regime of the atmos- 
pheric heat balance. Let us look at the basic methods for such calculations. 

To calculate the atmospheric radiation balance, it is necessary to have 
information about the amount of solar radiation incident upon the outer 
boundary of the atmosphere. As pointed out above (refer to Section 2 of 
Chapter I), these data are obtained as a result of comparatively simple 
geometrical calculations, if the value of the solar constant is known. Using 
the accepted value of the solar constant and the above formulas, it is possible 
to determine with sufficient accuracy the amount of solar radiation incident 
on the outer boundary of the atmosphere at  each latitude and any period of 
time. 

The determination of the amount of radiation absorbed in the atmosphere 
is a more complicated task. To calculate this value, one must compute the 
amount of solar radiation absorbed by the earth-atmosphere system, and 
then subtract from this quantity the radiation absorbed at  the earth’s surface. 
The method for determination of the last value is stated above, in Section 1 
of this chapter. 

The value of the albedo of the earth-atmosphere system a, can be calcu- 
lated by the formula 

as = f ( a )  ( 1  - n) + a’n, (2.90) 

where the functionf(a) designates the relation of a, for a cloudless sky to the 
value a, which is the albedo of the earth’s surface; a’ is the mean albedo of 
the earth-atmosphere system with complete cloudiness ; n is cloudiness in 
fractions of unity. 

Mean values of the albedo characterizing the reflection of solar radiation 
resulting from scattering by molecules of air, water vapor, and dust particles 
are comparatively small. In approximations, an appropriate value can be 
assumed equal to 0.08-0.10 [refer to Kondrat’ev (1954)l. Considering this 
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estimate, Vinnikov (1965a) suggested that the expressionf(a) = 0 . 6 6 ~  + 0.10 
be used for average conditions. 

Values of albedo of the earth’s surface are comparatively well known 
from observations and corresponding calculations, and can be determined 
by the use of the tables included in Section 1 of this chapter. 

The albedo of the earth-atmosphere system is substantially influenced by 
clouds. Numerous observations have shown that the albedo of clouds varies 
over a wide range, in which its value depends on the depth of the cloud 
layer. For thin clouds, albedo is small, but for layers amounting to several 
hundreds of meters and more in depth, albedo values usually vary within a 
range from 0.3 to 0.8. In addition, the value of the albedo of clouds depends 
on their structure. The highest albedo values are noted for altocumulus 
clouds, which contain ice particles that substantially intensify reflection. 

Because of the great variability of cloud albedo, utilization of mean values 
may lead to noticeable inaccuracies in calculation of the radiation balance, 
especially for comparatively short periods of time. 

More justifiable is the application of mean values of cloud albedo to the 
determination of long-term means of the atmospheric radiation balance. 

In the paper by Fritz (1949), the mean albedo of clouds for the whole 
earth is appraised at  0.50-0.55. In climatological calculations of Fedoseeva 
(1953), a mean cloud albedo equal to 0.50 was used. 

Observational data from satellites show that these evaluations are slightly 
high and that the mean albedo of clouds probably is about 0.45 (refer to 
Section 4 of Chapter 111). 

In earlier study of the planetary albedo of the earth, the value was 
calculated from the brightness of the ashy light of the moon. It  is known that 
the part of the moon’s surface not illuminated by the sun is illuminated by 
rays reflected from the earth’s surface. This phenomenon, usually easily 
visible when a small part of the disc of the moon is illuminated by the sun, 
is called the earthshine. Measuring the brightness of this light, one can 
evaluate the albedo of the part of the earth that faces the moon. This albedo 
value relates to the visible part of the spectrum. As a result of approximate 
evaluations of the reflectivity of the earth for different wavelengths and on the 
basis of observations of the earthshine, calculations of the integrated albedo 
of the earth were carried out and provided values equal to 0.35-0.40 (Bagrov, 
1954). 

Observations from satellites gave smaller values of the planetary albedo, 
close to 0.30 (Raschke et al., 1968; and others). 

When determining the components of the atmospheric radiation balance, 
the greatest difficulty arises in connection with calculation of the value of 
outgoing long-wave radiation emitted to space. 
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For this purpose, one can use various radiation nomograms, following the 
method offered by Kondrat’ev and Filippovich (1952). 

In this study, it was suggested that the flux of outgoing emission is approxi- 
mately equal to the value of the flux of long-wave radiation at  the level of the 
tropopause. Evaluation of the error due to this assumption showed that it 
probably did not exceed 6%. 

In T. G .  Berliand’s investigation (1956), the formula of M. E. Berliand, 
obtained as a result of working out a theoretical model of long-wave radia- 
tion transfer in the atmosphere, was used to calculate outgoing radiation. 
This formula has the following form: 

I- Z, = 6oT4{(?)’ - -L (Tm)3 [Ei(-Onrn,e-PH) - Ei(-O,rn,)] - (2.91) 
,6T T n = 1  

In this equation, T is the temperature near the earth’s surface; T H  is the 
temperature at the tropopause; T, is the mean temperature of the tropo- 
sphere, which is equal to the mean between T and T H ;  y is the temperature 
gradient in the troposphere; ,6 is a coefficient equal to 4.5 x cm-l ;  
Ei is an integral function [Euler’s function]; 8, is the coefficient of absorption 
(0, = 0.166; 8, = 2.6; O3 = 36.2; 0, = 189.0 cma g-l); m, is the mass of 
water vapor (in g cm-,) in the atmospheric column of cross section 1 cm2; 
6 is a coefficient defining the difference between the properties of the radiating 
surface and those of a black body; u is the Stefan-Boltzmann constant; and 
H is the height of the tropopause. 

Equation (2.91) relates to a cloudless atmosphere, being derived with the 
assumption that the outgoing emission equals the flux of long-wave radiation 
at the tropopause level. 

This formula could be also used for determining the outgoing emission with 
complete cloudiness. In this case, one should assume T equal to the temper- 
ature of the upper boundary of the clouds and use data on the vertical 
temperature gradient in the troposphere above the layer of clouds. 

To determine outgoing emission under the conditions of broken cloudiness 
of different layers, T. G. Berliand used the formula 

Z, = Iso[l - (n, + nc + OSn,)] + ZHnH + Icnc + 0.5ZBnB, (2.92) 

where I,, is the outgoing emission with a cloudless sky; nH,  n, , and nB are 
the amounts of clouds of lower, middle, and upper layers, respectively; and 
I,, I,, and IB are the outgoing emission from the lower, middle, and upper 
layers of clouds. 

The coefficient 0.5 in the last term of Eq. (2.92) is introduced to account 
for the fact that the emission from the surface of clouds of the upper layer is 
noticeably less than that from an absolutely black body. 
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Later, Vinnikov (1965b), using data on the integrated function of trans- 
mission of the atmospheric gases, obtained for determination of emission the 
formula 

P(mo) -k p(mH) ( 1  - cHnH - ccnc - cBnB), (2.93) 2 1, = UTH~ + (UT4 - (JTH4) 

in which m, and mH are the mass of water vapor in the whole atmosphere 
and in the air layer above the tropopause; P is the function of transmission; 
cH, c c ,  and c, are coefficients equal to the heights of the upper surfaces of 
clouds of the lower, middle, and upper layers, respectively, relative to the 
height of the tropopause ; the cloudiness data are represented by the values 
when the earth is observed from space. This formula has been used for deter- 
mination of outgoing emission in calculations of the radiation balance of the 
earth-atmosphere system, carried out during preparation of a map for 
“ATnac TemoBoro 6 a n a ~ c a  ~ ~ M H O ~ O  mapa (Atlas of the Heat Balance 
of the Earth)” (1963). 

Considerable difficulty in climatological calculations of the outgoing 
emission both from radiation nomograms and by formulas (2.9 1-2.93) 
might appear in connection with the necessity of using materials from aero- 
logical observations. In many regions of the globe, the amount of such data 
is insufficient, and this inevitably lowers the accuracy of the corresponding 
calculations. 

Having available the calculations of absorbed radiation and outgoing 
emission, one can determine the radiation balance of the earth-atmosphere 
system by the formula 

R, = Qs(l - 4 - Is (2.94) 

(where Q, is the solar radiation at  the outer boundary of the atmosphere), 
and can then calculate the radiation balance of the atmosphere by the 
formula 

R, = R, - R, (2.95) 

where R is the radiation balance at  the earth’s surface, which in most cases 
can be determined more accurately than the balance of the earth-atmosphere 
system. 

The question of the gain of sensible heat in the atmosphere by condensation 
of water vapor can be comparatively easily solved for the atmosphere as a 
whole. The difference between the amounts of water that are condensed in 
the atmosphere and evaporated from the surfaces of droplets (or ice crystals) 
in clouds and fog is, on the average, equal to total precipitation. Therefore, 
for the whole atmosphere, the heat input owing to condensation for a more 
or less long period of time is equal to the product of the amount of precipi- 
tation by the latent heat of vaporization. 
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It  is much more difficult to calculate the heat input from condensation in 
restricted regions and short periods of time. In this case, the heat input by 
condensation" in the atmosphere (or the reverse in sign, heat expenditure for 
evaporation of cloud particles) is proportional to the difference between 
precipitation and the increase (or decrease) of the amount of water vapor in 
a vertical column of air as a result of evaporation (or condensation growth) 
of the cloud particles. 

The change in the amount of water vapor caused by atmospheric processes 
of condensation and evaporation is rather difficult to determine by direct 
methods. Utilization of the atmospheric water balance for its calculation 
does not provide good results either, because in this situation it often 
represents a small difference between large values that are determined with 
considerable error. 

Thus, accurate calculation of the income of the heat of condensation in the 
atmosphere for short periods of time and restricted regions is difficult. One 
might consider, however, that long-term means of this value in particular 
regions are in most cases close to the product of the latent heat of evaporation 
by the amount of precipitation. 

Exceptions to this rule are possible under conditions of a heterogeneous 
underlying surface, when the influence of mountains or coastlines may lead 
to a disparity between the amount of precipitation in a given region and the 
difference between condensation and evaporation in the atmosphere. 

At present, it is hard to estimate the possible magnitude of such differences 
and the corresponding magnitudes of errors in calculations of the heat of 
condensation. 

To determine the gain or loss of heat associated with a change in the heat 
content of the atmosphere B,, it is possible to use the procedure proposed 
by Rakipova (1957), for which it is necessary to have data on the vertical 
distribution of air temperature and pressure within the troposphere. Utiliza- 
tion of data relating to higher levels usually has little influence on the results 
of the computations. 

In calculating the component B, , one must remember that because of the 
comparatively small heat capacity of the atmosphere it is, as a rule, notice- 
ably less than the principal components of the atmospheric heat balance. 
Therefore, in many cases one can either neglect this component or take it 
into account in the most approximate way. 

The determination of the income or outgo of heat associated with hori- 
zontal movement in the atmosphere is a rather difficult task. In climatological 
calculations of the heat balance, the heat-balance equation (2.96) is usually 
used for this purpose : 

Fa = R, - L(E - r )  - B, - F,,. (2.96) 
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Calculation of the value Fa as the residual member of the balance usually 
provides satisfactory results if there are sufficiently accurate data of all the 
other balance components. 

Such a condition is not always easily fulfilled. It is also best, at the same 
time, to use the heat-balance equation as a control on the accuracy of com- 
puting all its components by independent methods. Therefore, there is great 
interest in attempts to determine the component Fa by direct methods, using 
the data of routine meteorological observations. 

The value of the income or outgo of heat resulting from horizontal move- 
ment in the atmosphere is associated with the activity of the two different 
processes-advection by averaged motion and macroturbulent transfer. 

In her study of 1957, Rakipova worked out a method for calculating the 
values of mean advection. In this study, the general equation of the heat 
transfer written in spherical coordinates was linearized and the included 
functions presented in the form of sums of zonal values and deviations from 
them. 

Using this linearized equation, Rakipova obtained a formula that associated 
the values of mean advection with the field of atmospheric pressure. Although 
calculations by this formula are rather cumbersome, it permitted the obtaining 
of interesting data that make clear the characteristics of mean advection. 

Less success was obtained in elaborating methods for determining the 
income and outgo of heat due to macroturbulent exchange. The approximate 
values of the horizontal macroturbulent heat fluxes can be estimated if one 
considers them to be equal to the product of the mean horizontal tem- 
perature gradients in the atmosphere and the coefficients of horizontal 
exchange. In this case, however, it should be borne in mind that the coeffi- 
cients of horizontal exchange are variables depending both on general 
meteorological conditions and the scale of the processes under investigation. 
The difficulty of accurate determination of the values of these coefficients 
leads to considerable error in calculations of the macroturbulent heat fluxes. 

The income or outgo of heat owing to macroturbulence, contained in the 
equation of the atmospheric heat balance, is proportional to the derivative 
of the value of the macroturbulent flux in its direction. I t  is evident that 
because the available data on the values of this flux are rather inaccurate, 
it is difficult to calculate this derivative with sufficient accuracy. Thus, the 
problem of working out a climatological method for calculating the macro- 
turbulent gain or loss of heat is not yet solved. 

Evaluations made by Rakipova (1957) show that, although under mean 
conditions the effect of macroturbulence on the gain (or loss) of heat in the 
atmosphere is noticeably less than that of mean advection, it is still substantial. 
As a result, a more or less accurate determination of the value of Fa by a 
direct method is at  present difficult to carry out. 
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5. Accuracy of Determination of the Components 
of the Heat Balance 

Although the problem of the accuracy of calculations of the components 
of the heat balance is of great importance for the climatology of the heat 
balance, it has, until recently, been inadequately clarified in the scientific 
literature. Because of this fact, in discussing material on heat balance one 
often encounters controversial viewpoints on the probable error in the data 
under consideration. In some cases, there is a tendency to imply an under- 
estimation of this error, and in others it has been greatly overestimated 
without sufficient basis. 

All this speaks for the necessity of a more or less detailed analysis of the 
accuracy of climatological calculations of the components of the heat 
balance. I t  is of great interest to contrast the accuracy of data on the heat 
balance with that of climatological materials for the basic meteorological 
elements. 

We shall indicate that to evaluate the errors of existing methods for deter- 
mination of the components of the radiation and heat balances, it is possible 
to use four methods: 

1. Comparison with one another of the results of different independent 
methods for calculating the components of the heat balance. 

2. Comparison of calculations of balance components with measurements 
of them made by special instruments. 

3. Evaluation of the error in calculating all the components of the 
balance by closing the equation of balance, when all components 
have been determined independently. 

4. Evaluation of probable errors in calculations, by making an analysis 
of the formulas used. 

Of these methods, the third is especially important, being based on the 
obvious certainty of fulfilling the law of the conservation of energy. This 
method for checking calculations of the balance components was used in a 
paper of the author (Budyko, 1946c) and in a number of subsequent investi- 
gations. 

Applying the second of the above methods as a check, one must bear in 
mind that contemporary methods for instrumental measurements of com- 
ponents of the balance are inevitably associated with definite errors. Thus, in 
particular, the probable error in measuring total short-wave radiation with 
available instruments for more or less long periods may amount to several 
per cent. 

The problem of errors in measuring the radiation balance with balance 

f 
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meters of different designs was studied by Kirillova and Kucherov (1953), 
Lebedeva and Sivkov (1962), and other authors. It can be inferred from their 
conclusions that the probable error in measurements of the radiation balance 
for comparatively long periods of time is characteristically of the order of 
5-10x. The accuracy of measurements of other heat-balance components 
(particularly the latent-heat flux and the sensible-heat flux) with the aid of 
special instruments may vary over a wide range, depending on the type of 
instruments, observational conditions, and values of the measured fluxes. 

Let us turn now to an appraisal of the accuracy of calculations of the 
principal components of the radiation and heat balances. 

The chief component of the radiation balance-the total short-wave 
radiation-is measured at many actinometric stations, which greatly simpli- 
fies the checking of climatological calculations of this value. Comparisons of 
measured and calculated values of total short-wave radiation have been made 
in many investigations. We give here the results of such a comparison made 
for the purpose of checking the world maps of radiation on the continents, 
constructed in the Main Geophysical Observatory. Comparison of the results 
of calculations with data from the summary of measured means made by 
by T. G. Berliand (1961) showed that the disparity between measured and 
calculated values for monthly means is, on an average, less than lo%, and 
the coefficient of correlation between them is 0.98 (refer to Fig. 17). It is clear 
that a certain number of the disparities are connected with the short duration 
of observations at some actinometric stations. Taking this circumstance 
into account, it is possible to consider that even a rather schematic procedure 
of calculating total short-wave radiation permits the determination of 
monthly and annual means with an error of the same order as the error in 
instrumental measurements. 
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Fig. 17 Comparison of measured (Q,) and calculated (Q,) values of incident solar 
radiation (cal cm-2 per 24 hr). 
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The problem of assessing the accuracy of calculations of the radiation 
balance at the earth’s surface is more complicated than that of estimates 
of short-wave radiation. Available observations and calculations show that 
the radiation balance varies substantialIy at different types of underlying 
surface in one and the same region. The great “microclimatic” variability 
of the radiation balance can be explained by the significant influence that 
albedo and temperature of the underlying surface have on it. To illustrate 
this influence, we give here the data from calculations of radiation balance, 
made by the procedure stated above, for three regions: Cape Shmidt (the 
Arctic), Sverdlovsk (forest zone), and Ashkhabad (desert zone). 

For the first region, calculations of radiation balance were made for con- 
ditions of tundra, light-colored stony soil, and the sea surface, which, even 
in summer, is covered to a considerable extent with floating ice. For the 
region of Sverdlovsk, calculations were carried out for conditions of the 
meteorological plot, a clover field, and bare fallow. For the region of Ashkha- 
bad, the radiation balance was calculated for the desert and an irrigated 
field. 

The results of calculations are presented in Table 13. 

TABLE 13 
RADIATION BALANCE OF DIFFERENT SURFACES 

(kcal month-’) 

Region Surface May June July August 
~~ 

Cape Shmidt Tundra 
Stony soil 
Sea 

- 5.0 6.4 3.1 
- 4.1 4.5 2.5 
- 2.3 1.9 0.9 

Sverdlovsk Meteorological site 5.5 1.0 6.1 4.2 
Clover field 5.0 5.9 5.6 3.5 
Bare fallow 1.2 8.5 8.2 5.5 

Ashkhabad Desert 5.4 6.1 6.4 6.1 
Irrigated field 8.2 10.4 10.5 10.0 

As can be seen from the above materials, the values of the radiation balance 
at different types of underlying surface in the same region may differ from 
each other by several times. This fact must be taken into account both when 
constructing maps of the radiation balance and when comparing the results 
of measurements with calculated values. 

Until recently, there were no data from long observations of the radiation 
balance. Now, at many actinometric stations of the USSR and in a number 
of places in other countries, systematic measurements of the radiation balance 
are being made. Comparison of components of the radiation balance from 
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observational data with calculated values found earlier by the use of inde- 
pendent methods offers great interest. 

For such a comparison, we have used observational data from 27 stations, 
some of which are situated in the territory of the USSR and the others in the 
United States, Western Europe, Asia, and Australia. 

The results of comparison of measured and calculated annual sums of the 
balance at  all the stations are presented in Fig. 18. Monthly sums of the 
balance are presented in Fig. 19. As is seen from Figs. 18 and 19, the measured 
and calculated values of the radiation balance match well on the average. 
The mean value of the discrepancy between them for the annual balance 

Rp::L 0 20 4 40 60 

Fig. 18 Comparison of measured (R,) and calculated (R,)  annual sums of the radia- 
tion balance (kcal cm-2 yr-l). 

Fig. 19 Comparison of measured (R, )  and calculated (R,)  monthly sums of the 
radiation balance (kcal cm-z month-'). 
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equals 2.9 kcal cm-’ yr-’, and for the monthly balances, 0.54 kcal cm-’ 
month-l. In the first case, the discrepancy is less than 57 ,  of the largest 
annual value, in the second case, of the order of 570 of the largest monthly 
value of the radiation balance. 

The coefficients of correlation between the measured and calculated values 
equal 0.92 for the annual, and 0.98 for the monthly, sums of the radiation 
balance. 

Taking into account the fact that the discrepancy between the results of 
calculations and the measurements, aside from calculation errors, must be 
to a considerable extent explained by errors in measurements, microclimatic 
variability in the radiation balance, and limited periods of observation, the 
agreement of the two independent methods for determination of the radiation 
balance should be admitted to be extremely satisfactory. 

Of great interest is the question of checking the results of calculations 
relating to the indices of the radiation regime on the oceans. The first com- 
parison of calculated values of the radiation balance on the oceans with 
observational data was performed by Albrecht (1952), who used for this 
purpose data of measurements of the radiation balance that he had taken 
during his trip in the Indian Ocean. A good agreement of the measured and 
calculated values of the radiation balance was established by Albrecht, but 
it did not permit, however, the drawing of any general conclusions as to the 
reliability of calculated indices to the oceanic radiation regime, because 
only a limited amount of observational data were at Albrecht’s disposal. 

Recently, the quantity of observations of the radiation regime on the 
oceans has grown sharply, which has enabled us to conduct a broad com- 
parison of the calculation data obtained earlier with the new observational 
material. Such a comparison was made in the studies of Strokina (1967b, 
1968) in respect to the short-wave radiation means and the radiation balance 
for different oceanic regions from the ‘‘ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  

ruapa (Atlas of the Heat Balance of the Earth)” (1963) and the data of ship 
observations in the Atlantic, Indian, and Pacific Oceans. 

The results of the comparison of calculated and measured indices of the 
radiation regime for the oceans obtained by Strokina are presented in Figs. 
20 and 21. It is seen from these figures that the measured and calculated 
values of total short-wave radiation and radiation balance agree satis- 
factorily. The coefficients of correlation between them are 0.91 for short-wave 
radiation and 0.95 for the radiation balance. 

It appears that in this case, there is a small systematic discrepancy between 
measured and calculated values of short-wave radiation-the measured 
being somewhat larger than the calculated values. This discrepancy is, 
presumably, explicable by the fact that the procedure for calculating short- 
wave radiation which was developed for land conditions provides slightly 
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0, 

Fig. 20 Comparison of measured (Q,) and calculated (Q,) monthly values of inci- 
dent solar radiation on the oceans (kcal cm-a month-'). 

underestimated values for oceans, where the air transparency is, on the 
average, higher than it is over land. 

Of much importance for checking the accuracy of calculations of radiation 
balance at land and water surfaces is the method of independent determina- 
tion of all the heat-balance components. From this it is possible to estimate 
the mean error in determining all the heat-balance components. I t  is possible 
to calculate the relative value of this error by computing the ratio of the 
algebraic sum of all the heat-balance components to the sum of their absolute 
values. 

On the basis of the results of the first work in which all heat-balance com- 
ponents were determined by independent methods for one of the stations in 
North America and for the southern part of the European territory of the 

Fig. 21 Comparison of measured (R,) and calculated (R,)  monthly values of the 
radiation balance of the ocean (kcal cm-z month-'). 
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USSR (Budyko, 1946a, 1947), the mean error in determining the sum of the 
components of the balance was calculated. In neither case did it exceed 5%.  

Compared to land conditions, verification of the accuracy of calculated 
values of components of the heat balance of individual ocean regions by the 
method stated seems more complicated, because one of the components for 
the oceans (gain or loss of heat as a consequence of the activity of currents) 
is hard to determine by a direct method. 

However, for the series of annual maps of the ocean heat balance con- 
structed by the scientific workers of the Main Geophysical Observatory, it is 
possible to estimate the upper limit of the mean error in calculation by closing 
the equation of balance. 

This value can be found on the basis of the following considerations. If 
the mean total error in the determination of the radiation balance, the con- 
version of heat in evaporation, and the sensible-heat flux on the oceans had 
been larger than the mean value of gain or loss of heat due to currents F,, 
then the latter would have been impossible to determine as a residual com- 
ponent of the heat balance,In other words, the map of this value calculated 
from the balance equation would not have been in accord with the actual 
distribution of warm and cold currents. 

Since, however, the map of income and outgo of heat owing to ocean 
currents that was designed by the scientific workers of the Main Geophysical 
Observatory corresponds well to the distribution of most currents, it is clear 
that the mean total error in calculating the three principal components of the 
balance is less than the mean value of F,. 

Thus, the relative mean error in calculating the heat-balance components 
for the oceans is less than the ratio of the mean value of Fo to the sum of the 
mean value of the radiation balance, heat converted in evaporation, and 
sensible-heat exchange. Since, on the basis of the above data, this ratio 
turns out equal to 127,, the mean error in calculations of the sums of the 
absolute values of the balance components presumably does not exceed 12%. 

Calculations of heat conversion in evaporation for both land and water 
bodies can be checked by closing the equation of water balance. 

The procedure of determining evaporation and the latent-heat flux on the 
basis of the relationship equation has been tested in a number of studies. 
The most complete checking of calculations of evaporation accomplished 
by the relationship equation was carried out with the available material on 
the water balance of the different continents (Budyko and Zubenok, 1961). 
For this purpose, evaporation was calculated by the water-balance equation 
(as the difference between precipitation and run-off) and determined from the 
relationship equation. 

In this comparison, data were used for different continents and about 1200 
different regions. Areas situated north of 60" N were excluded from examina- 
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tion because, owing to considerable errors in the measurements of solid 
precipitation, more or less accurate determination of the annual total 
evaporation by means of the water balance turns out to be impossible. 

Comparison of evaporation values found by independent methods showed 
the mean discrepancy between them to be close to lo%, which is approxi- 
mately equal to the value of the probable error in determining evaporation 
by the water-balance method. At the same time, in some cases this difference 
is presumably of a systematic character and depends on the features of the 
annual cycle of evaporation and precipitation (refer to Chapter VI of this 
book). 

The problem of accuracy in calculations of land evaporation made by the 
method based on the relation between evaporation and soil moisture was 
discussed in papers of Zubenok (1966a, 1968) and Kuz’min (1966). These 
papers present the evaporation values in single months, found with the 
calculation model described earlier, in comparison with the results of obser- 
vations conducted at  heat-balance stations, where evaporation was deter- 
mined on the basis of the radiation balance and the vertical gradients of 
temperature and humidity. 

This comparison showed that in regions of sufficient moisture, the measured 
and calculated values of evaporation correspond well to each other (corre- 
lation coefficients above 0.9). In regions of insufficient moisture, the corre- 
lation coefficients decrease slightly, which is presumably to be explained by 
the large influence on evaporation of micro- and mesoclimatic variability of 
moisture conditions in these regions. 

In the study by Kuz’min it was pointed out that the probable errors in 
calculating evaporation according to this calculation scheme grow larger 
with a decrease in the duration of the period for which evaporation is deter- 
mined. For the annual period, these errors are comparatively small (on an 
average, less than loyo); for monthly periods they reach 207,. 

The problem of errors in calculations of the turbulent fluxes of heat and 
water vapor from water bodies can be investigated by analyzing the accuracy 
of the various assumptions on which the calculation formulas are based. We 
will not repeat here the results of such an analysis, because they are given in 
Section 2 of this chapter and in Section 3 of Chapter I11 of this book. 

On the basis of the data stated above and other available material, we draw 
the following conclusions concerning the accuracy of contemporary methods 
for calculating the components of the radiation and heat balances at the 
earth’s surface. 

The error in the monthly and annual means of radiation on continents 
obtained with the use of climatological calculation methods is approximately 

When the relative error in calculations of the radiation balance is being 
5-1070. 
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estimated, one must remember that both the annual and monthly means of 
the radiation balance approach zero under certain conditions. Therefore, 
it is advisable to compare the error in calculation of annual values of the 
radiation balance with the amplitude of their variations, and for monthly 
values with the maximum value of the radiation balance in the annual cycle. 
The relative error in calculations of the radiation balance for land, calculated 
in such a way, is on the average less than 107,. The annual values of heat 
converted in evaporation from land (latent-heat flux) are determined with 
an average error of the order of 5-107,. Taking into account these magnitudes 
of error, it is possible to evaluate the mean error in calculation of the turbulent 
sensible-heat flux on land, which proves to be slightly larger than that in 
calculation of the radiation balance. 

The errors in calculations of the components of the heat balance for the 
oceans are presumably somewhat larger than those for the land, but the 
order of magnitude of these errors is probably about the same. 

It should be indicated that for different regions of the globe, the values of 
the probable errors in calculations of the heat-balance components should 
differ markedly, especially because of the different reliability of the basic 
meteorological data used in the calculations. The largest errors are noted in 
the high latitudes and also in the less explored regions of the oceans (especially 
in the Southern Hemisphere). I t  is possible to conclude that the probable 
relative error of several components of the heat balance at  the earth’s surface 
obtained by modern calculation methods does not often exceed that of the 
climatological norms of several basic meteorological elements (such as 
cloudiness or precipitation). At the same time, in terms of detail, data avail- 
able on the heat balance are still inferior to material available for many 
meteorological elements. 

The problem of possible errors in determination of the components of the 
heat balance of the atmosphere is, at  present, but little developed. 

In Fig. 22 are presented the latitudinal means of the annual values of the 
radiation balance of the earth-atmosphere system, found by use of the map 
designed by Vinnikov for the ATnac TennoBoro 6anaHCa J~MHOTO wapa (Atlas 
of the Heat Balance of the Earth)” (1963) (line 1). This figure also represents 
the distribution of the same value as calculated by Vinnikov from measure- 
ments taken by satellite (Vonder Haar and Suomi, 1969-line 2; Bandeen 
et al., 1965-line 3). It is evident that the direct measurements of the radiation 
balance agree satisfactorily with the results of the earlier indirect calculations. 
Comparison of the corresponding maps shows that the data obtained by 
observations from satellites confirms many peculiarities of the spatial distri- 
bution of the radiation balance of the earth-atmosphere system established 
earlier by calculation methods. 

At the same time, however, the agreement of calculations and measure- 
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Fig. 22 Dependence of the radiation balance of the earth-atmosphere system on 
latitude. 

ments relating to characteristics of the radiation regime of the earth-atmos- 
phere system is inferior to the agreement for conditions at the earth's surface. 
This is associated with the lesser accuracy in determination of these indices, 
whether by available calculation methods or by instruments carried by 
satellites. 
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Heat Balance of the Globe 

1. Geographical Distribution of the Components of the Heat Balance 

Determination of norms of the heat-balance components 

As a result of numerous studies aimed at the determination of the com- 
ponents of the heat balance in different geographical regions, we now possess 
considerable material permitting us to investigate in detail the geographical 
distribution of all the principal balance components. One can use for this 
purpose both data of actual observations of the several balance components 
and also calculation results obtained by using the methods described in the 
previous chapter. 

The most extensive observational materials relate to the radiation balance 
at the earth’s surface, and especially to the total solar radiation. 

As indicated earlier, total short-wave radiation has been measured for 
many years at a number of stations. Data from mass observations of the 
radiation balance started, in general, to accumulate in the 1950s, during the 
period of preparation and activity of the International Geophysical Year. 

A considerable portion of the available observational data on elements of 
the radiation regime relates to comparatively short periods of time. Neverthe- 
less, these data are widely used for determining norms [or long-term means] 
of monthly and annual values of total short-wave radiation and the radiation 
balance at  the earth’s surface. To clarify the accuracy of these norms, it is 
necessary to evaluate the variability of elements of the radiation regime. 

The problem of variability of monthly and annual values of solar radiation 

140 
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has been discussed in several papers, the authors of which noted the com- 
parative stability of the annual sums and the somewhat larger variability of 
monthly values, especially in winter. In some studies, conclusions were drawn 
concerning the duration of an observational series that would ensure de- 
finitive accuracy in calculating norms of radiation-regime indices. 

The first study of this kind was carried out by Gorlenko (1933), who, as a 
result of analyzing observational data on short-wave radiation, came to the 
conclusion that 2-3 yr of observations are enough to ensure an error smaller 
than 10% in calculating norms of monthly sums. 

Goisa (1959), after examining data from the 20-yr period of observations 
at Karadag, established the fact that the monthly means of total short-wave 
radiation obtained from a 10-yr series of observations were determined with 
an error comparable to the probable error in measurement. 

The problem of accuracy in calculating mean monthly and annual sums of 
short-wave radiation was considered in a most detailed way by Tarnizhevskii 
(1959). On the basis of 10-15 yr of observations conducted at Karadag, 
Pavlovsk, Tashkent, and Odessa, and using Student’s criterion, Tarnizhevskii 
established the number of years ensuring the necessary accuracy of the monthly 
and annual means of direct, scattered, and total solar radiation at these 
points. According to his data, annual means of total radiation can be found 
with an accuracy up to 10% from a 3-yr series of observations at both 
Tashkent and Pavlovsk, notwithstanding the great difference in the climatic 
conditions of these places. 

The same accuracy (10%) of the monthly means of total radiation for 
conditions of Tashkent is ensured by 3-4 yr of observations in summer and 
7-10 yr in winter. For Pavlovsk, an observational period for obtaining of 
monthly sums with an accuracy of 10% in summer increases to 5-6 yr and 
in winter to 15-25 yr. However, it must be remembered that in winter, the 
errors in the mean monthly sums determined from a short series are small in 
absolute value. This permits using short observational periods for evaluation 
of the total radiation norms in many cases in winter as well as in summer. 

T. G.  Berliand (1961) calculated monthly and annual means of total short- 
wave radiation by separate 5-yr, 10-yr, and 20-yr periods, and also moving 
means for these periods, at a number of Soviet and foreign stations that 
represent the most diverse climatic conditions. By analyzing these data, 
Berliand concluded that a 10-yr period of observations ensures the accuracy 
necessary for most investigations. Under climatic conditions that vary little 
(low latitudes), a 7-yr series of observations might suffice for obtaining re- 
liable monthly means of total short-wave radiation. 

In the monograph, ‘‘Panaaq~oHHmi pemuM Teppmopm CCCP (Radiation 
Regime of the USSR)” (Barashkova et al., 1961), monthly means of total 
short-wave radiation for 5-yr periods were compared with the means for 
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18-20 yr series of observations at  several points. From this comparison, it 
became clear that in 707, of the cases the monthly means over single 5-yr 
periods did not deviate more than 57, from the means of the 18-20-yr 
period. 

To evaluate the variability of total short-wave radiation, the author and 
Efimova (1964) used observations for 22 yr (1940-1961) at one of the best 
actinometric stations-Vysokaia Dubrava (in the region of Sverdlovsk). In 
Table 14 are given the monthly and annual means of radiation according to 
data from this station for the 22-yr period and for two 10-yr periods. Also 
presented are values of the root-mean-square (rms) deviation for each quan- 
tity in individual years. 

The data of Table 14 show that the discrepancies between the radiation 
means for the 10- and the 22-yr periods are very small and lie, in general, 
within the limits of accuracy of measurement. From the values of rms 
deviations, we can draw the conclusion that variability of radiation monthly 
sums is small in comparison with its annual cycle. Taking into account the 
available maps of norms for total short-wave radiation, we may also infer 
that the variability of monthly sums is usually much less than the geographical 
variability over extensive areas. 

Thus, total short-wave radiation is a meteorological element that is rather 
stable in time. For a reliable determination of its norms, 10-yr observational 
periods are quite sufficient, and for an orienting estimate of mean conditions 
of the annual cycle and of spatial variability, one might use much shorter 
periods. 

The question of variability of monthly and annual sums of the radiation 
balance has been investigated less than the similar question for solar 
radiation, since mass observational data on the radiation balance appeared 
a comparatively short time ago. 

Some conclusions about variability of the radiation balance are contained 
in a paper of Efimova (1956), analyzing the anomalies of monthly values of 
the radiation balance. She established the fact that the effect of cloudiness 
on the radiation balance in middle latitudes depends on the season. In  winter, 
an increase of cloudiness is associated with a reduction in radiative losses of 
heat through the exchange of long-wave radiation, and monthly sums of the 
radiation balance increase. In summer, the radiation balance in most cases 
increases with a decrease in cloudiness ; however, because the reduction of 
cloudiness leads not only to an increase in solar radiation but also to an 
increase in the net long-wave radiation [deficit], variations in the monthly 
values of the radiation balance do not turn out to be very great. 

This study was done by the use of calculation methods for determination 
of anomalies in the radiation balance. At the present time, there is a possi- 
bility of evaluating the variability of monthly and annual sums of the 



TABLE 14 

MEAN MONTHLY AND ANNUAL VALUES OF TOTAL SHORTWAVE RADIATION AT VYSOKAIA DUBRAVA (NUMERATOR) AND 

ROOT-MEAN-SQUARE DEVIATIONS FOR SINGLE YEARS (DENOMINATOR) (in kcal cm- per month or year) 

Years Jan. Feb. Mar. Apr. May June July Aug. Sept. Oct. Nov. Dec. Year 

1.1 92 - 1.7 3.7 8.0 10.6 13.8 15.1 14.1 11.4 6.7 3.6 1.9 - - - - -  - 
1940-1961 0.17 0.40 0.81 1.20 1.51 1.08 1.33 1.04 1.02 0.54 0.28 0.12 3.95 

1.8 3.8 8.0 10.4 13.9 15.1 13.8 11.3 6.6 3.8 2.0 1.2 92 - - - - - - 
1942-1951 0.19 0.35 0.97 1.15 1.81 1.10 1.19 1.16 0.76 0.48 0.30 0.10 3.82 

1.6 3.6 8.1 11.0 14.0 15.3 14.5 11.4 6.7 3.5 1.9 1.1 93 - - 
1952-1961 0.11 0.42 0.58 1.18 1.11 1.12 1.24 0.92 1.35 0.58 0.22 0.10 3.51 
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radiation balance from observational data obtained at a number of stations. 
Budyko and Efimova (1964) used for this purpose the results of observations 
over a 10-yr period at three stations: Voeikov (in the region of Leningrad), 
Vysokaia Dubrava, and Kuibyshev. These stations are characterized by a 
high quality of observations, and represent different climatic areas of the 
USSR. 

In Table 15 are given monthly and annual sums of the radiation balance 
at these stations for the 10-yr period and also the root-mean-square devia- 
tions of these values in single years from the 10-yr norms. 

Analyzing the data from Table 15, one must bear in mind that the probable 
error of instrumental measurement of the radiation balance amounts to 
several tenths of a kilocalorie per square centimeter in the monthly sums, 
and to several per cent of the measured value in the annual sums. Taking this 
circumstance into account, one can infer that variability of the monthly sums 
of the radiation balance is small compared to their change in the annual 
cycle, and is comparable to the probable error of observation. 

In this connection, a possibility appears of determining radiation-balance 
norms from short observational periods. Determining the monthly and 
annual means of the radiation balance from the above data for 5-yr periods 
and comparing them to the means for 10-yr periods, it is easy to establish 
that the differences are small and lie within the range of observational 
accuracy. 

Assuming that the rms deviations of the observed values from the means 
decrease in inverse proportion to the square root of the number of years of 
observation, we can calculate the duration of the observational period 
necessary for the determination of annual values of the radiation balance 
with an error not greater than 5%. As a result of such a calculation from the 
data of Table 15, we find that this period is only 2-3 yr. 

Thus, for the determination of norms of the radiation balance, observa- 
tional periods of only a few years are sufficient. Approximate norms can be 
determined even from data of single years, the error of such a determination 
being small in most cases compared to the variation of the radiation balance 
during the annual march. 

All these evaluations relate to cases in which long-term variations in charac- 
teristics of the radiation regime associated with changes of climate are absent. 
Available observational data show (refer also to Chapter V) that the secular 
movement of total short-wave radiation in the period of observations is 
negligible, and therefore taking account of it in determining norms of short- 
wave radiation is not necessary. Proceeding from this statement, one can 
consider that secular changes in the radiation balance are also of no import- 
ance for the determination of its norms. A different situation occurs with 
direct short-wave radiation, which in some cases has noticeable long-term 



TABLE 15 
MEAN MONTHLY AND ANNUAL SUMS OF RADIATION BALANCE (NUMERATOR) AND ROOT-MEAN-SQUARE DEVIATIONS 

FOR SINGLE YEARS (DENOMINATOR) (in kcal cm-2 per month or year) 

Jan. Feb. Mar. Apr. May June July Aug. Sept. Oct. Nov. Dec. Year 
~- ~~ ~ 

Voeikovo, 1952-1961 
31.2 -0.5 -0.5 - 0.1 3.6 6.8 7.9 7.5 

0.18 0.29 0.40 0.82 0.82 0.88 0.69 0.86 0.40 0.14 0.21 0.30 2.62 
- I - -  - - 0.6 - - 0.6 - 5.0 2.3 0.2 - 

Vysokaia Dubrava, 1951-1961 (without 1960) 
- 1.0 31.8 

2.14 
- - 0.9 - 0.0 4.4 7.0 8.0 7.7 5.7 2.5 0.3 - 1.1 

0.23 0.37 0.25 0.88 0.58 0.54 0.74 0.47 0.49 0.24 0.41 0.37 
- -0.8 - - - - 

Kuibyshev, 1952-1961 
40.9 

0.30 0.22 0.86 0.72 0.66 0.72 0.80 0.45 0.35 0.35 0.16 0.47 2.84 
- - - - - -  - - 0.7 0.4 - 8.5 6.4 3.2 1.9 - 1.0 5.7 8.2 9.1 - 0.4 - 0.7 
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variations. This element of the radiation regime, however, is not often used 
in investigations of heat balance, and so we do not dwell here on the question 
of determining norms of direct radiation. 

The considerations stated above permit the evaluation of the least duration 
of a period that is necessary for the evaluation of norms for elements of the 
radiation regime with a required accuracy. In the paper of Budyko and 
Drozdov (1966), it was indicated that when considering the question of the 
appropriate duration of the averaging period, one must remember that the 
accuracy of norms for elements of the meteorological regime depends also 
on the homogeneity of the available series of observations. As a result of 
such an approach, one can determine the upper limit of the duration of 
periods that are suitable for use in calculating norms of the meteorological 
elements. 

It is evident that existing types of meteorological observations are associated 
with systematic errors, depending on imperfections of the instruments and 
observational methods used, on the incomplete representativeness of meteoro- 
logical stations, and on inadequacies in the training of observers. 

The methods of climatological processing of observational data permit 
taking some of these errors into account and introducing proper corrections. 
Making allowance for the approximate character of such corrections, it is 
clear that they do not exclude systematic errors in observational data, which 
restrict the homogeneity of the series obtained. 

The homogeneity of series of meteorological observations is also restricted 
by changes in the conditions of instrument installation, construction, and 
so on. With a sufficiently dense network of meteorological stations, the 
influence of conditions of instrument installation on their readings might 
be to some extent taken into account and eliminated by means of comparing 
readings at stations situated near each other. However, the possible accuracy 
of such corrections is limited by the closeness of the relation of readings at  
different stations. As a result, in the available series of meteorological 
observations, there remains a certain heterogeneity, which restricts the com- 
parability of observational data in time and space. 

Designating by uo the rms variation caused by heterogeneity of the data of 
the meteorological observational series used, we note that though uo does not 
coincide with the values of the systematic error of observations, it usually 
has the same order of magnitude. 

Values of uo for different meteorological elements have been determined 
in investigations in the methodology of climatological analysis. 

It must be stressed here that, although many meteorological elements are 
observed with comparatively small systematic errors, such errors are always 
present and in all cases limit the homogeneity of series of meteorological 
observations used in climatological investigations. 
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It is evident that appropriate accuracy in determining climatological norms 
is restricted by errors caused by the heterogeneity of the observational series 
used. Neglecting the temporal coherence of the series used, it can be assumed 
that the error in determining the norm over a period of n years is equal to 
u/&, where u is the variability of the element under examination. From this, 
we obtain uo 6 o/&, where no is the most appropriate duration of the 
averaging period. I t  follows that no 6 ( U / U ~ ) ~ .  

Let us use this formula for calculating the greatest length of averaging 
period for the determination of norms of total short-wave radiation and the 
radiation balance. 

In Table 16 are presented values of the heterogeneity of corresponding 
observational series uo, of the heterogeneity of the radiation regime u in the 
warm and cold seasons in middle latitudes, and the values of the duration of 
the most appropriate averaging periods no found by use of this formula. 

TABLE 16 
DURATION OF AVERAGING PERIODS 

a0 a no 
Season (kcal month-l) (kcal cm-2  month-’) (yr) 

Total short-wave Warm season 0.2 
radiation Cold season 0.1 

Radiation balance Warm season 0.2 
Cold season 0.1-0.2 

1 .o 25 
0.4 16 
0.7 12 
0.3 4 

Such estimates provide maximum lengths of suitable averaging periods in 
climatological studies. 

In many cases, the values of suitable averaging periods can be decreased 
by taking into account the specific purpose of an investigation in which 
calculated climatological norms are to be used. Thus, for example, for many 
practical purposes the required accuracy of data on monthly mean air tem- 
perature does not exceed 1”. Taking into account the variability of the 
monthly mean temperature, it is easy to discover that for most climatic 
regions such accuracy will be obtained with an averaging period of no more 
than several years. 

At the same time, there are fields of application of meteorological data in 
which a heightened accuracy of determination of the norms of meteorological 
elements is required. These include problems of evaluating climatic variation, 
variations in hydrological regime, and others, where “norms” are used as 
kinds of indexes to changing hydrometeorological conditions. 
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We will not dwell on the problem of determining norms of other heat- 
balance components from observational data, because mass observational 
material is available mainly for elements of the radiation regime. 

World maps of the components of the heat balance 

Beginning in the 1940s, observational data on short-wave radiation and the 
radiation balance at  the earth’s surface have been used for determination of 
norms of these elements. In a number of works, maps of short-wave radiation 
and radiation balance in different areas have been constructed (Kalitin, 1945; 
Hand, 1953; Barashkova et af., 1961; Pivovarova and Pleshkova, 1962; and 
others). Recently, maps of elements of the radiation regime of the earth- 
atmosphere system have been constructed on the basis of observations from 
satellites. Some of these maps characterize the radiation regime over a 
limited period of time (Rashke et af., 1968; and others), and others provide 
norms for radiation-regime elements relating to a period of several years 
(Vonder Haar and Suomi, 1969). 

It  must be remembered that for a number of components of the heat balance 
of the earth’s surface and atmosphere, there still are not any mass data from 
direct observations. Even for such well-studied elements of the radiation 
regime as total short-wave radiation and the radiation balance at  the earth‘s 
surface, the available data of observations on the oceans and on parts of the 
land are insufficient for designing even schematic maps. 

Under such conditions, calculation methods for determination of com- 
ponents of the radiation and heat balances have great importance. With the 
use of calculation methods, the norms of radiation and heat balance com- 
ponents are determined from available norms of the basic meteorological 
elements : cloudiness, air temperature and humidity, wind, and others, 
obtained as a result of observations conducted over long periods of time. 

General employment of calculation methods for the determination of 
norms of heat-balance components in contemporary investigations has made 
it possible to construct a series of maps giving a detailed presentation of the 
geographical regularities in the heat balance at  the earth’s surface and in the 
atmosphere. 

We note that calculation methods for designing climatic maps have long 
been used in climatological studies. In the very first works directed at study- 
ing the geographical distribution of the meteorological elements, methods for 
calculating values of the investigated elements were widely used along with 
direct generalization of observational data. Thus, for example, while the first 
world maps of the distribution of air temperature were constructed by Hum- 
boldt in 1817 (for the annual period) and by Dove in 1848 (for months) on 
the basis of observational data, approximately at  the same time (in 1831) 
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Kaemtz designed temperature maps for months by means of calculations 
carried out according to Meyer’s formula. 

Later, in association with the rapid accumulation of observational data 
from meteorological stations, maps of the principal meteorological elements 
were mainly constructed on the basis of immediate generalization of observa- 
tional data. In this case, however, the procedure for processing observational 
data used in map construction has been gradually improved, incorporating 
more and more complicated calculation methods. Utilization of such methods 
has actually led to the circumstance that modern maps of the distribution of 
the principal meteorological elements-air temperature, precipitation, and 
others-acquire to some extent the character of calculation. (This statement 
applies especially to maps of mountain regions.) 

Thus, we cannot entirely set climatic maps of the principal meteorological 
elements against those of the components of the heat balance with regard 
to the method of construction. Both types actually are made by generalizing 
observational data from the basic network of hydrometeorological stations, 
and calculation methods are used in drawing all types of maps. The differ- 
ences between maps of the basic meteorological elements and those of the 
heat balance reduce to the fact that the relative importance of calculation 
methods in constructing the heat-balance maps is greater than it is for con- 
structing most of the common climatological maps. 

The most complete presentation of regularities in the geographical distri- 
bution of the components of the heat balance at  the earth’s surface is to be 
had from the materials of the “ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  ruapa 
(Atlas of the Heat Balance of the Earth)” (1963), prepared by the scientific 
workers of the Main Geophysical Observatory (GGO). This atlas contains 
world maps of mean annual and monthly total short-wave radiation, the 
radiation balance at the earth’s surface, heat conversion in evaporation 
turbulent [sensible-] heat flux, and evaporation. In addition, the atlas includes 
maps of annual values of the vertical exchange of heat between the ocean 
surface and the underlying layers of water, radiation balance of the earth- 
atmosphere system, heat released by condensation of water vapor in the 
atmosphere, and heat transfer by horizontal movement in the atmos- 
phere. 

Using maps of this atlas, we will first take up the problem of the geographi- 
cal distribution of values of total incoming solar radiation-the principal 
components of the radiation balance. 

The geographical distribution of total incoming short-wave radiation is 
shown in Figs. 23 to 25. These maps have been designed on the basis of 
calculated data for radiation at 2100 points on land and 280 on the oceans, 
along with use of available observational data from actinometric stations. 
In the maps presented here (as well as in all other maps from the “ATnac 
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Fig; 23 Total solar radiation (kcal cm-' yr-'). Year. 
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TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  mapa”), mountain regions without infor- 
mation are cross-hatched. 

As is seen from Fig. 23, the annual values of total short-wave radiation 
vary from values less than 60 kcal cm-2 yr-l  to those exceeding 220 kcal 
cm-2 yr-l. In high and middle latitudes, the distribution of short-wave 
radiation has, in general, a zonal character, while in low latitudes, substan- 
tial deviation from a zonal distribution is observed. Low latitudes are charac- 
terized by a marked reduction of short-wave radiation values near the 
equator, connected with increased cloudiness. 

The largest values of total short-wave radiation are observed in the belts of 
high pressure in the Northern and Southern Hemispheres, especially in the 
desert regions of the continents. The maximum solar radiation is noted in 
northeastern Africa, due to the very slight cloudiness above this area. 

Diminished values of short-wave radiation are observed in regions of 
monsoon climate (for example, the eastern coast of Asia) and other regions 
of heavy cloudiness. 

For a characterization of the distribution of short-wave radiation in 
different months, Figs. 24 and 25 present maps of radiation in December and 
June, the months with the smallest and greatest mean altitudes of the sun 
for the corresponding hemisphere. 

In the map of short-wave radiation in December, the zero isoline in the 
Northern Hemisphere passes a bit north of the Arctic Circle in all longitudes. 
At higher latitudes, the sun does not rise above the horizon in this month. 

South of the zero isoline, short-wave radiation increases rapidly. Its distri- 
bution in the extratropical latitudes of the Northern Hemisphere has in 
general a zonal character. In low latitudes, the zonal distribution breaks 
down, and the areas of increased and decreased radiation are located in 
accordance with the Iocalized areas of lesser or greater cloudiness. Beginning 
with low latitudes of the Northern Hemisphere and extending over the whole 
Southern Hemisphere, zonal variations of total short-wave radiation in 
December are not very great. The lack of significant reduction in radiation 
with increased latitude in the Southern Hemisphere is explained by the 
effect of day length, which compensates for the reduction of mean sun 
altitude as latitude increases. 

A similar picture is seen in the distribution of total solar radiation in 
June (Fig. 25). In the Northern Hemisphere, radiation varies comparatively 
little (though the areas of increased values in desert regions are well marked). 
In  middle and high latitudes of the Southern Hemisphere, radiation decreases 
rapidly with the increase of latitude. 

The distribution of total short-wave radiation in March and September 
resembles the distribution presented in the annual map. At this time also, the 
greatest values of radiation are observed in the regions of tropical deserts. 
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Fig. 24 Total solar radiation (kcal month-I). December. 



140 120 100 80 60 40 20 0 20 4 0  60 80 100 120 140 160 180 160 140 

Fig. 25 Total solar radiation (kcal cm-* month-'):June. 



154 I11 HEAT BALANCE OF THE GLOBE 

In the rest of the months (January and February, April and May, July and 
August, October and November), the distributions of total short-wave radia- 
tion display a character intermediate between those discussed above. 

Passing on to the problem of the spatial distribution of other components 
of the radiation balance, we note that the distribution of absorbed short- 
wave radiation is in most cases very similar to that of total incoming short- 
wave radiation. However, unlike the isolines of total incoming radiation, 
the isolines of absorbed radiation are usually discontinuous. In particular, 
at the boundary between land and water, the isolines of absorbed radiation 
as a rule are broken, in accordance with the discontinuity in the albedo of the 
underlying surface. 

For most of the lands and oceans, the difference between the values of 
incoming and absorbed short-wave radiation is comparatively small (approxi- 
mately 5-20y0). This difference increases slightly for deserts and especially 
for areas covered with snow and ice. In consequence, where a boundary of 
snow or ice cover occurs at the surface of land or ocean, the values of absorbed 
radiation at  this border change abruptly. 

For study of the spatial distribution of net long-wave radiation (which 
defines the loss of heat by the exchange of long-wave radiation), it is possible 
to use the maps composed of material calculated for “ATnac TennoBoro 
6ana~ca  ~ ~ M H O T O  mapa.” These calculations were carried out for 1460 points 
on land and 280 on the oceans, more or less evenly located over the surface 
of the globe (Efimova and Strokina, 1963). 

These maps show that spatial changes in net long-wave radiation are, in 
general, smaller than those in total short-wave radiation. Such a phenomenon 
is to some extent explained by the fact that in most climatic zones, variations 
of temperature and absolute humidity are interconnected, absolute humidity 
increasing with a rise in temperature. Since a rise in temperature and an 
increase in absolute humidity influence net long-wave radiation in opposite 
directions, it therefore changes relatively little. 

The greatest values of the annual sums of the net long-wave radiation 
are noted in the tropical deserts on land, where they reach 80-90 kcal cm-2 
yr- l  (values of net long-wave radiation are positive when they correspond to 
deficit of heat). Here an enormous heating of the underlying desert surface 
in comparison with air temperature produces a great effect on the net 
long-wave radiation. 

Near the equator, the net long-wave radiation is reduced in magnitude 
(30-40 kcal cm-2 yr-l) and differs comparatively little between ocean and 
land. In land regions of extratropical latitudes, it is, on the average, some- 
what larger than on oceans in the same latitudes, especially under arid 
conditions. 

The spatial distribution of the radiation balance [radiation surplus] at the 
underlying surface is presented in Figs. 26-28. 
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Fig. 26 Radiation balance at the earth's surface (kcal cm-2 yr-l). Year. 
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In the map of annual sums of the radiation balance (Fig. 26), the abrupt 
variation at the change from land to sea and defined by a break in isolines is 
very noticeable. As a consequence of a lesser albedo of the ocean surface, 
the radiation balance here is as a rule greater than that at a land surface in 
the same latitude. 

Of considerable importance is the fact that at all the surfaces of the oceans 
and lands, the annual sum of the surface radiation balance turns out positive. 
As established by modern investigations, a negative annual sum in the 
radiation balance is probably observed only in regions of permanent snow 
and ice cover. 

The distribution of the radiation balance over the surface of the oceans 
exhibits, in general, a zonal character, as seen from the map in Fig. 26. 
Some deviations from zonality are noted, for example, in the regions of 
activity of warm and cold currents. These deviations may have different 
signs for the same type of current, because of the complex nature of the 
relations of the radiation balance with water and air temperatures, humidity, 
and cloudiness. 

The comparatively small variation in values of the radiation balance at  the 
surface of the oceans in low latitudes, and the rapid decrease of balance 
values in middle latitudes going from low to high latitudes, warrant atten- 
tion. 

The greatest value of radiation balance at the earth's surface is observed 
in the northern part of the Arabian Sea-more than 140 kcal cm-l yr-l. 

The variation of annual values of the radiation balance on land also has, 
to some extent, a zonal character, but in a number of regions zonality is 
abruptly broken by the effect of differences in moisture conditions. It has 
already been indicated more than once in studies on the climatology of the 
heat balance that the radiation balance in arid land regions is reduced in 
comparison with regions of sufficient or surplus moisture in the same latitudes. 
The cause of this phenomenon lies in the significant increase, under condi- 
tions of an arid climate, in the loss of radiant energy as net long-wave radia- 
tion (due to the high surface temperature, little cloudiness, and relatively 
low humidity), and in the reflection of short-wave radiation. 

Therefore, in Fig. 26, along with a general decrease in radiation balance 
with increasing latitude, there are well-marked domains of reduced radiation 
balance caused by the dryness of the climate. This regularity is observed, 
for example, in the Sahara, in the deserts of Central Asia, and in many other 
desert and arid regions. In monsoon regions, the annual values of the radia- 
tion balance at the land surface are also slightly reduced, as a consequence of 
the heavy cloudiness in the warm season. 

The greatest annual values of the radiation balance on land are observed 
in the wet tropical regions, but even here they hardly reach 100 kcal cm-' 
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yr-', which is noticeably less than the corresponding maximum for oceanic 
conditions. 

Let us consider now the distribution of the radiation balance in December. 
As is seen from Fig. 27, the radiation balance in December is negative over a 
considerable portion of the surface of the Northern Hemisphere. It is 
interesting to note that the zero isoline of the radiation balance on both 
oceans and land is situated in approximately the same latitude-about 40" N. 
To the north of this latitude, the radiation balance on the oceans increases 
in absolute magnitude, reaching -2 kcal cm-2 month-' and even larger 
negative values. 

The negative radiation balance on land also increases in absolute value 
northwards, but the deficit here only reaches magnitudes around -1 kcal 
cm-' month-'. The reason for this difference lies in the fact that at  the 
surface of the oceans in high latitudes, water temperature during the cold 
season is much higher than that of the land surface in the same latitudes. 
Therefore, the net long-wave radiation on the oceans turns out much greater 
than that on land, and the radiation balance is smaller. 

Southward of the latitude of 40" N, the radiation balance on the oceans in 
December increases approximately zonally all the way to the Equator, where 
it reaches values of 8-10 kcal cm-2 month-l. South of the Equator, the 
radiation balance on the oceans varies comparatively little, its greatest values 
(up to 12-14 kcal cm-2 month-l) being observed for the most part in the 
regions of the Tropic of Capricorn. Southward, the radiation balance again 
diminishes slightly. On land between 40" N and the Equator, it also regularly 
increases towards the south, and south of the Equator it varies comparatively 
little, essentially from 6 to 10 kcal cm-2 month-l. 

General regularities of the distribution of the radiation balance in June 
in the Northern Hemisphere are analogous to those of its distribution in 
December in the Southern Hemisphere, and vice versa. 

The zero isoline of the radiation balance on oceans and land in June goes 
approximately along 45" S .  Northward of this parallel, the radiation balance 
(refer to Fig. 28) increases and on oceans reaches its greatest values in the 
regions of the Tropic of Cancer. (The maximum value, slightly exceeding 
16 kcal cm-2 month-l, is observed in the northern portion of the Arabian 
Sea.) North of the Tropic of Cancer, the radiation balance on the oceans first 
slightly declines but with the approach to the Arctic Circle starts increasing 
again, which can be explained by the increased length of summer days in 
high latitudes. The radiation balance on land in the Southern Hemisphere 
increases regularly in a northward direction up to the Equator; north of the 
Equator over large expanses of land, it varies relatively little. 

In conclusion, it must be indicated that the data on radiation balance 
discussed above are macroclimatic characteristics. and define its mean values 



Fig. 27 Radiation balance at the earth’s surface (kcal month-l). December. 
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Fig. 28 Radiation balance at the earth’s surface (kcal month-l). June. 
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for more or less large regions. As pointed out in the previous chapter, under 
land conditions, a great microclimatic variability in the radiation balance 
may be observed. Therefore, actual values of the radiation balance at 
individual sectors of the underlying surface in any geographical region of the 
continents may differ noticeably from mean background characteristics. 

Although, for oceanic conditions, the spatial variability of the radiation 
balance is much less than it is for land, even here, under certain conditions 
(the presence of drifting ice, accumulation of seaweed, and so on), there can 
be observed sudden changes in values of the balance over small distances. 

Let us turn now to the question of the distribution of other heat-balance 
components at the earth’s surface, namely, heat conversion in evaporation 
[latent-heat flux], the turbulent sensible-heat exchange, and the redistribution 
of heat by currents. 

In examining this question, we will again use the maps from the “ATnac 
TennoBoro 6 a n a ~ c a  ~ ~ M H O ~ O  mapa.” Corresponding series of world maps 
have been constructed on the basis of calculations made by the procedures 
stated in the previous chapter. Calculation of the heat-balance components 
was carried out for the same points for which the radiation-balance values 
were calculated. 

The distribution of the annual values of the latent-heat flux is presented 
in Fig. 29. This map shows that the values of evaporation from the surface 
of land and water near a coastline differ greatly from each other. Such a 
phenomenon is presumably explained both by the difference between the 
values of potential evaporation on land and oceans, and by the effect of 
insufficient moisture in many land regions, which restricts evaporation and 
the flux of latent heat. 

Figure 29 shows that the latetlt-heat flux in extratropical zones diminishes, 
on the average, with an increase of latitude, but that this average regularity 
is disturbed for both oceans and land by large azonal changes. In low 
latitudes, the distribution of the flux of latent heat also has a very compli- 
cated character. On the oceans, a decrease of this heat-balance component is 
observed near the Equator, in comparison with the regions of high atmos- 
pheric pressure. 

The principal reason for azonal changes in the latent-heat flux on the 
oceans is the,distribution of warm and cold ocean currents. All the major 
warm currents increase the flux noticeably, and the cold ones decrease it. 
These changes are clearly apparent in the regions of the warm currents of the 
Gulf Stream, Kuro Shio, and others, and also in regions of the cold currents, 
such as the Canary Current, the Benguela, the California, the Peru, the 
Labrador Current, and so on. 

I t  is worth notice that because of the activity of currents raising or lowering 
the water temperature, the annual value of evaporation from the ocean 
surface in the same latitude may change by a factor of several times. 



Fig. 29 Latent-heat flux (kcal cm-2 yr-l). Year. 
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Besides ocean currents, azonal variations of evaporation and latent-heat 
flux are influenced by the conditions of atmospheric circulation that deter- 
mine the regime of wind speed and humidity deficit above the ocean. 

The distribution of the latent-heat flux from land surfaces differs more 
from the zonal pattern than the distribution on the oceans, owing to the 
enormous influence of climatic moisture conditions on evaporation. 

With availability of sufficient amounts of soil moisture, evaporation and 
latent-heat flux are regulated mainly by the size of the radiation balance. 
Such conditions are observed in regions of the high latitudes and in humid 
regions of the middle and low latitudes. 

In regions of insufficient humidification, evaporation is reduced because of 
the lack of soil moisture and, under desert and semidesert conditions, 
approaches the small value of annual precipitation in these regions. In Fig. 
29 are seen areas of markedly reduced latent-heat flux in the principal arid 
regions of the globe. The greatest latent-heat flux is observed in several 
equatorial regions, where, with the abundance of moisture and great input of 
heat, it exceeds 60 kcal cm-2 yr-l, which corresponds to the evaporation in 
a year of a water layer more than 1 m deep. 

Much greater values can be reached by evaporation from the ocean surface, 
where the radiation balance is slightly greater than that for land and, of 
greater significance, the evaporating surface may receive a large additional 
amount of thermal energy due to redistribution of heat by marine currents. 
As a result, in some tropical and subtropical regions, annual evaporation 
from the ocean surface reaches values somewhat exceeding 2 m. 

The maps of monthly values of the latent-heat flux (Figs. 30 and 3 1) point 
to the contrasting character of the annual march of evaporation on lands and 
oceans of the extratropical latitudes. 

It is known that during the cold season, evaporation on land diminishes 
considerably, the evaporation maximum being observed at  the beginning or 
in the middle of the warm season, depending on moisture conditions. To the 
contrary, ocean evaporation usually increases in the cold season in com- 
parison with the warm season. The cause of this lies in the increase in the 
difference between water and air temperatures in the cold season, which 
causes the difference in the water-vapor concentration at the water surface 
and in the air to increase. Besides, in many oceanic regions, mean wind 
speeds in the cold season are higher than in the warm season, and this also 
increases evaporation during the cold season. 

An important factor in the increase of heat outgo for evaporation in the 
cold season is the condition of heat inflow to the evaporating ocean surface, 
dependent on horizontal heat exchange in the hydrosphere. 

Increased evaporation in the cold season is associated with the intensifi- 
cation of the activity of the warm currents, while cold currents reducing the 
flux of latent heat are especially active in the warm season. 
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The map of the latent-heat flux in December (Fig. 30) shows that the 
greatest values of evaporation in this season are observed on the oceans, 
in zones of activity of the warm currents of the Northern Hemisphere-the 
Gulf Stream and Kuro Shio. 

In these regions, the flux reaches very large values, exceeding 15-20 kcal 
cm-' month-l. On most of the land surface in extratropical latitudes of the 
Northern Hemisphere, evaporation is very small, and the latent-heat outgo 
does not in general exceed 1 kcal cm-' month-l. In the Southern Hemis- 
phere, the distribution of the flux of latent heat has a rather complicated 
character, its greatest values on the oceans and in humid regions of the 
continents being observed near the Tropic of Capricorn, where the radiation 
balance is especially great at this time. 

The distribution of heat outgo for evaporation in June (Fig. 31) is charac- 
terized by reduced values in extratropical latitudes of the oceans of the 
Northern Hemisphere. These values are, on the average, less than those in 
corresponding latitudes on land. In low latitudes, evaporation from the 
oceans varies little ; in the extratropical latitudes of the Southern Hemisphere, 
it declines appreciably with an increase in latitude. 

Let us turn now to the problem of the geographical distribution of the 
turbulent flux of sensible heat. 

The map, Fig. 32, shows the quantity of heat given out by the earth's 
surface into the air (positive values) or gained from the air (negative values) 
during a year. The fact that on the average over the year, the surface of all 
the continents (except Antarctica) and most of the ocean surface yield heat 
to the atmosphere attracts attention. 

On the greater part of the ocean surface, the value of the turbulent sensible- 
heat flux is small compared to the principal components of the heat balance, 
and usually does not exceed 10-20x of their values. The flux reaches large 
absolute values in those regions where the water is, on the average, much 
warmer than the air, i.e., in the regions of the activity of powerful warm 
currents (the Gulf Stream), and in high latitudes where the sea still remains 
free of ice. Under such conditions, the turbulent heat flux can exceed 30-40 
kcal cm-l yr-l. 

Cold currents, lowering the water temperature, tend to decrease the heat 
flux from the ocean surface into the atmosphere, and increase that in the 
opposite direction. 

In contrast to the oceans, where the turbulent sensible-heat flux, on the 
average, increases in absolute value in a profile from low latitudes into high, 
the flux on land varies in the opposite direction. At the same time, under 
land conditions, the value of the sensible-heat flux is strongly influenced by 
the moisture conditions of climate; in arid regions, the turbulent flux of 
sensible heat from the land surface into the atmosphere is much greater than 
in humid ones. 
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Fig. 30 Latent-heat flux (kcal cm-' month-l). December. 
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Fig. 31 Latent-heat flux (kcal cm-a month-l). June. 
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In accordance with this, the greatest outgo of sensible heat by the turbulent 
flux on land is noted in the tropical deserts, where it can exceed 60 kcal cm-2 
yr-'. In humid tropical regions and especially in regions of middle and high 
latitudes, the heat flux is usually much less than this value. 

In  December (Fig. 33), the turbulent heat flux reaches large values in the 
northwestern portions of the Atlantic and Pacific Oceans, as a result of the 
activity of warm currents and also the development of heat exchange between 
the cold continental surface and the warmer ocean. In the regions of activity 
of the Gulf Stream and the Kuro Shio, the oceanic heat outgo in turbulent 
heat flux amounts to 4-8 kcal cmW2 month-'. 

In all other oceanic regions, the turbulent sensible-heat flux is small in 
absolute magnitude, and in some regions, including the zones of the Peru and 
Benguela cold currents, it turns out to be directed from the atmosphere to 
the ocean. On the Northern-Hemisphere continents north of 40-45" N, the 
sensible-heat exchange is also directed from the atmosphere to the earth's 
surface. A considerable outpouring of heat from the earth's surface to the 
atmosphere is observed in the tropical deserts, especially those of the Southern 
Hemisphere, where it can exceed 6-8 kcal cm-2 month-'. 

Another picture of the distribution of the turbulent sensible-heat flux 
on the oceans is observed in June (Fig. 34), when, in the northern portion of 
the Atlantic Ocean, near the coasts of North America, Europe, and Africa, 
there exist extensive zones where the turbulent heat flux is directed from the 
atmosphere to the ocean surface. A similar picture is also found over a 
considerable portion of the Pacific Ocean in the Northern Hemisphere. 

It must be indicated, however, that at all these expanses, the turbulent 
flux is small in absolute value (less than 2 kcal cm-2 month-l). This indicates 
that in the process of heat exchange between oceans and atmosphere, the 
oceans of the Northern Hemisphere lose much more heat during the cold 
season than they gain from the atmosphere during the warm season. 

In the Southern Hemisphere in June, the oceans in middle and high latitudes 
lose comparatively little heat into the atmosphere. This is associated with the 
absence of large contrasts between the thermal state of continents and oceans. 

Turbulent exchange of sensible heat on the continents in June is charac- 
terized by positive [upward] values of the heat flux in almost all latitudes 
(except the southern part of South America and a small area in southern 
Australia). In the deserts of the Northern Hemisphere, the heat loss from 
the earth's surface to the atmosphere amounts to 6-8 kcal cm-' month-'. 

The maps of turbulent sensible-heat flux show that in some cases, the flux 
changes sign at the boundaries of continents and oceans. One of the causes 
of such a distribution lies in the formation of air masses that move from a 
heated to a colder underlying surface, or in the opposite direction. 

Like the maps of the radiation balance, all the maps of latent and sensible 
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Fig. 33 Sensible-heat flux from the earth's surface into the atmosphere (kcal month-'). December. 
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Fig. 34 Sensible-heat flux from the earth’s surface into the atmosphere (kcal cm-2 month-l). June. 
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heat flux examined here contain data on the mean values of the indicated 
heat-balance components over considerable portions of the earth’s surface. 
As pointed out in the preceding chapter, evaporation in many regions is 
characterized by great spatial variability, especially noticeable in regions of 
unstable moisture status on the continents. Values of the turbulent sensible- 
heat flux vary similarly. Therefore, the values of the heat-balance components 
in the above maps have the character of background values, which may differ 
appreciably from those at individual points or in small regions. 

Of great importance in the heat balance of the oceans is the income or 
outgo of heat resulting from horizontal heat exchange, due mainly to the 
activity of marine currents. Annual means of this quantity, determined as a 
residual component in the heat balance from materials of the above calcula- 
tions of the heat-balance components, are presented in Fig. 35. 

In examining this map, we must first of all point out that in the oceans, a 
great quantity of heat is redistributed between tropical and extratropical 
latitudes. In this redistribution, warm and cold currents play a large role. 
The map shows a correspondence between the areas of increased positive 
values of this quantity (which corresponds to the flow of heat from the ocean 
surface into the deeper layers) and regions of cold currents, and between the 
areas of the reduced and negative values of the quantity and regions of warm 
currents. 

Such a correspondence is observed, for example, for warm currents (such 
as the Gulf Stream, Kuro Shio, Agulhas Current, and the southwestern 
Pacific) and for cold currents (such as the Canary Current, Benguela Current, 
California Current, and Peru Current). 

At the same time, the distribution of isolines in Fig. 35 in some oceanic 
regions does not fully correspond to the location of the principal regions of 
warm and cold currents. This is partially explained by the fact that the value 
shown on the map represents, not a direct heat transfer by ocean currents, 
but just one of the consequences of this transfer-the mean heat flux from 
the oceanic surface to deeper layers. It should also be noted that some peculi- 
arities of the isolines in Fig. 35 are presumably connected, to some extent, 
with insufficient reliability of the calculated values. Since these values were 
obtained as a residual component in the heat balance, it is evident that their 
calculations were influenced by the errors in the determination of all the other 
balance components, and that they receive the largest calculation error, in 
comparison with the other components. This circumstance probably in- 
fluences the location of isolines, diminishing their reliability, most especially 
in several oceanic regions of the Southern Hemisphere, where the initial 
climatological data used for the calculations were no doubt insufficiently 
reliable. 

Whereas for mean annual conditions the heat flux directed toward the 



Fig. 35 Heat flux from the ocean surface to the underlying layers of water (kcal cm-2 yr-'1. Year. 
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ocean surface from the deeper layers is equivalent to a heat gain to a given 
oceanic region influenced by the ocean circulation, for individual months the 
flux directed to the ocean surface from the deeper layers is equal to the sum 
of the heat gain due to the ocean circulation and the change in the heat 
content of the water. Since changes in the heat content of the ocean water 
during the annual cycle can be approximated from data on water-surface 
temperature, it then becomes possible, with the aid of the heat-balance 
equation, to determine the annual cycle of heat transport by currents. 

Strokina (1963) calculated changes in the heat content of the upper water 
layers of the North Atlantic during the annual march. This calculation 
corroborated the fact that in middle latitudes the changes in oceanic heat 
content are very significant and represent one of the principal components of 
the oceanic heat balance. 

Using data on the changes in heat content, Strokina determined for single 
months the values of heat flux directed to the ocean surface, under the 
influence of currents and macroturbulence, and constructed appropriate 
maps. 

One of these maps (for January) is presented in Fig. 36. It is seen from this 
map that in winter, the ocean in the Gulf Stream system gives off an enormous 
quantity of thermal energy. This is compensated, for the most part, by heat 
coming from a zone situated between the Equator and 30” N latitude. 

In subsequent papers by Strokina (1967a, 1969), monthly means of the 
changes in heat content were determined for the entire world ocean, and 
maps were constructed. These maps show that changes in the heat content 
of the upper layers of ocean water in all latitudes may reach significant values, 
comparable with those of the principal components of the heat balance. The 
largest changes in heat content (more than 25 kcal cm-2 month-l) are 
observed in the northwest regions of the Pacific Ocean and the adjacent seas. 

The maps from the “ATnac TennoBoro 6 a n a ~ c a  3 e ~ ~ o r o  ruapa” permit us 
also to get a general idea of the regularities in the geographical distribution 
of the components of the heat balance of the earth-atmosphere system. 

Figure 37 presents a map of the annual values of the radiation balance of 
the earth-atmosphere system, constructed on the basis of calculated data at  
260 points evenly distributed over the surface of the globe. In this map, the 
zero isolines separate the tropical and subtropical latitudes where, on the 
average, the income of radiant energy during a year is greater than its outgo, 
from regions where the heat outgo due to long-wave emission is greater than 
the absorbed solar radiation. These isolines lie near the 40th parallels in the 
Northern and Southern Hemispheres. The general distribution of the yearly 
values of the radiation balance has a zonal character, the observed deviations 
from a zonal distribution being much less than the corresponding deviations 
in the map of the radiation balance at  the earth’s surface. 
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Fig. 36 Income or outgo of heat in the upper layer of water due to currents and macro- 
turbulence (kcal cm-2 month-l) in the northern part of the Atlantic Ocean. January. 

At the same time, this map shows a regular diminution of the radiation 
balance in desert regions of the continents. The deserts of North Africa and 
Arabia turn out to be a zone of negative radiation balance, while the radiation 
balance is positive in the corresponding latitudes of oceans and humid 
continental regions. 

I t  is interesting to note that this paradoxical inference concerning the near- 
zero values of the radiation balance in some tropical deserts, which had 
been obtained as a result of calculations of the radiation regime of the earth- 
atmosphere system, was afterward corroborated by observational data from 
satellites. 

Comparing the maps in Figs. 37 and 26, it is possible to get an idea of the 
regularities of the geographical distribution of the atmospheric radiation 
balance, which represents the difference between the radiation balance of the 
earth-atmosphere system and that at  the earth’s surface. It is seen from the 
data comprised in these maps that annual values of the atmospheric radiation 
balance in all regions of the globe are negative. Their latitudinal variation is 
appreciably less than that of the radiation balances of either the earth’s 
surface or the earth-atmosphere system. 
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Fig. 37 Radiation balance of the earth-atmosphere system (kcal yr-1). Year. 
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In recent years, world maps of individual components of the atmospheric 
radiation balance, namely, the outgoing long-wave radiation (Vinnikov, 
1965) and the net long-wave balance of the atmosphere (D’iachenko and 
Kondrat’ev, 1965), have been published. The maps by Vinnikov show that the 
monthly means of outgoing radiation vary, approximately, by a factor of 2, 
from 10 to 20 kcal cm-2 month-l. Of interest is a conclusion, following 
from the data obtained by D’iachenko and Kondrat’ev, on the small vari- 
ability in time and space of the net long-wave balance of the atmosphere, the 
monthly means of which are usually equal to 10-12 kcal cm-2 month-’. 

The net income or outgo of heat representing the difference between evap- 
oration from the earth’s surface and condensation of water vapor in the 
atmosphere has great importance in the heat balance of the earth-atmosphere 
system. 

We discussed earlier the regularities of the geographical distribution of the 
heat outgo for evaporation. The features of the heat income from condensa- 
tion are seen from the map, Fig. 38, which presents annual means of the heat 
gain in the atmosphere due to condensation of water vapor (“ATnac TennoBoro 
6 a n a ~ c a  ~ ~ M H O T O  mapa,” 1963). 

For construction of this map, the assumption was made that the heat 
income in each geographical region for the year is equal, on the average, to 
the product of the total precipitation by the latent heat of vaporization. The 
annual precipitation data necessary for calculation were taken from the 
world map of Kuznetsova and Sharova (1964). 

The map in Fig. 38 shows that the heat income due to condensation, 
corresponding to the distribution of precipitation, reaches greatest values in 
the equatorial regions, decreases markedly in the zones of high pressure, 
increases in middle latitudes above the oceans, and then decreases again in 
approaching the poles. 

From the equation of balance of the earth-atmosphere system and data 
on the other components, one can determine the value of heat income (or 
outgo) produced by horizontal movements in the atmosphere. 

This calculation was carried out in making up the “ATnac TennoBoro 
6 a n a ~ c a  ~ ~ M H O ~ O  mapa” and resulted in construction of the map presented in 
Fig. 39. This map shows the annual sums of heat redistribution by air 
currents. In accordance with the adopted system of signs, positive values in 
this map represent regions of outgo and negative values those of heat input. 

In this map, as well as in the map of the radiation balance of the earth- 
atmosphere system, the isolines break at the boundaries of oceans and con- 
tinents. This is explained by the substantial difference of radiative and 
thermal characteristics between land and ocean surfaces. 

As is seen from Fig. 39, heat transfer by air currents is a highly variable 
component of the heat balance, and this variability is quite complicated. 



Fig. 38 Heat gain from condensation of water vapor (kcal cm-2 yr-l). Year. 
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Fig. 39 Heat income due to horizontal motion in the atmosphere (kc31 cm-a yr-l). Year. 
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The greatest surplus of thermal energy transferred by atmospheric ad- 
vection into other areas is found in the equatorial zone. A certain amount of 
heat is also carried away from the [regional] atmosphere over tropical and 
subtropical regions of the continents, and from the atmosphere above mid- 
latitude oceans. This surplus reaches and is expended mainly in the zones of 
high pressure above the oceans, over midlatirude continents, and in the high 
latitudes of both hemispheres. 

The heat balance of polar regions 

The study of the heat balance of the Arctic and Antarctic has, until just 
recently, involved considerable difficulty, owing to insufficient material of the 
required observations. Not long ago, and especially during the preparation 
and conducting of the International Geophysical Year, numerous data were 
obtained permitting study of the distribution of the heat-balance components 
in the polar regions. 

Actinometric investigations in the Arctic were started by the end of the 
last century (Westman, 1903). During the first half of this century, observa- 
tions of solar radiation were carried out during a number of polar expedi- 
tions, including those conducted during the drift of the “Maud,” analyzed 
and published by Mosby (1932), observations by Kalitin (1921, 1924), who 
for the first time determined the value of radiation balance for one of the 
regions of the Arctic (Kalitin, 1929), the observations by Angstrom (1933), 
by Wegener (1939), and others. 

Systematic actinometric observations in the Arctic were begun during the 
period of the Second International Polar Year in 1932-1933, when seven 
actinometric stations in the Soviet section of the Arctic and several stations 
in other Arctic areas were organized. 

The permanent actinometric network in the Arctic subsequently developed 
rather slowly, the number of functioning stations being sometimes reduced 
and sometimes increased. It was only in postwar years that this network 
embraced all the major regions of the north polar latitudes. At present, more 
than thirty permanent actinometric stations are functioning in the Arctic, 
most of them being situated in the Soviet sector. In addition, beginning in 
1950, observations of the radiation regime have been carried out in the central 
Arctic on the Soviet drifting stations, ‘‘CeBepHbIFi Honmc.” 

At most of the permanent actinometric stations and at the drifting stations, 
all elements of the radiation balance, including long-wave radiation, are 
measured. 

Among a number of works devoted to studying the radiation regime of the 
Arctic, the studies of Gavrilova (1959, 1963), Marshunova (1961), and 
Marshunova and Chernigovskii (1968) should be mentioned. We present 
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here some maps of elements of the Arctic radiation regime constructed by 
Gavrilova on the basis of data calculated for 241 points, available observa- 
tional data being utilized to make the parameters of the calculation formulas 
more accurate. 

Figures 40-42 present maps of total short-wave radiation in the Arctic 
for the year, June, and December. Deviation of total radiation values from 
a zonal distribution in the maps for the year and June is explained by different 
conditions of cloudiness in different sectors of the Arctic. The distribution of 
radiation in December is almost exactly zonal because of the dominant effect 
of astronomic factors on radiation in this month. 

We should call attention to a marked increase of radiation in June in the 
Central Arctic, compared to lower latitudes. This increase is explained by 
astronomical factors (the great length of daylight). 

I t  should be indicated that under Arctic conditions, most of the incoming 
short-wave radiation comes in the form of scattered radiation, as a result of 
considerable cloudiness in the summer months and the high reflectivity of 
snow and ice. 

The values of absorbed short-wave radiation in the Arctic depend sub- 
stantially on the state of the underlying surface. While at  a snow-free land 
surface and especially at  the open ocean surface, absorbed radiation is only 

Fig. 40 Total solar radiation in the Arctic (kcal cm-z yr-l). Year. 
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Fig. 41 Total solar radiation in the Arctic (kcal cm-z month-’). June. 

slightly less than the incoming, at  the surface of snow and ice cover, absorbed 
radiation is usually a small portion of incoming radiation. 

A general idea of the annual cycle of albedo of the ocean surface in the 
Central Arctic and in a land region (Uedineniia Island) is given in Fig. 43. 

It is seen from this figure that the albedo of ice cover remains high during 
the whole year, slightly diminishing only in the middle of summer, when the 
snow surface becomes wetter. On land in summer, during the period of 
snow melting and after its disappearance, the albedo decreases sharply, 
which leads to a considerable increase in absorbed radiation. 

The values of the net long-wave radiation [deficit] in the Arctic, according 
to the studies of Gavrilova and Marshunova, on the average decrease slowly 
with an increase in latitude, in correspondence with a decrease in the tem- 
perature of the earth’s surface. In winter, the value of net long-wave radiation 
is comparatively small over the extensive areas covered with ice and snow, 
and increases above the ocean surface in regions that are free of ice cover. 

The annual totals of the net long-wave radiation [deficit] in the Arctic 
turn out to be considerably smaller than in middle latitudes. This is explained 
by the low temperatures of the earth’s surface, by considerable cloudiness in 
summer, and also by temperature inversions in the cold season. 
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Fig. 42 Total solar radiation in the Arctic (kcal cm-2 month-'). December. 

Maps of the radiation balance of the Arctic designed by Gavrilova are 
presented in Figs. 44-46. It  is evident from the map for the year (Fig. 44) 
that, notwithstanding a large income of short-wave radiation, the annual 
sums of the radiation balance over broad expanses of the Central Arctic are 
close to zero. This is apparently due to the high values of albedo of the snow 
and ice cover. 
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Fig. 43 Annual march of the albedo (a) of ocean and land surfaces (curves a and b ,  
respectively) in the Arctic basin. 



Fig. 44 Radiation balance of the Arctic (kcal crn-2 yr-l). Year. 

Fig. 45 Radiation balance of the Arctic (kcal cm-2 month-l). June. 
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In the area of the peripheral Arctic seas, annual values of the radiation 
balance reach 5-10 kcal cm-2; in regions with areas of open water in summer, 
the annual radiation balance increases to 15-20 kcal cm-2 and more. 

The radiation balance in June (Fig. 45) is noticeably greater than zero over 
the whole Arctic. In this month, a pronounced contrast of balance values 
between the areas covered with ice and those free of it is observed. In Decem- 
ber (Fig. 46), the radiation balance in the entire polar area is below zero, 
increasing in absolute magnitudes at ice-free ocean areas, where the net long- 
wave radiation is large. 

Fig. 46 Radiation balance of the Arctic (kcal cm-2 month-l). Dece ler. 

The geographic distributions of other components of the heat balance of 
the Arctic have been studied mostly in peripheral areas. Some heat-balance 
information for these areas can be obtained from the world maps given 
earlier. 

The determination of heat converted in evaporation, the turbulent sensible- 
heat flux, and other heat-balance components for the Central Arctic is 
associated with considerable difficulty, owing to the relatively small values of 
the balance components under these conditions. Some information on this 
question will be provided in the second section of the following chapter. 
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The radiation regime and heat balance of the Antarctic, almost completely 
unexplored up to the recent past, have been examined in the studies of 
Loewe (1956), Liljequist (1957), Rush  (1961 and elsewhere), and other 
authors. As a result of these investigations, maps of the components of the 
Antarctic radiation and heat balances have been constructed. Figures 47-49 
present maps of total short-wave radiation (year and January) and annual 
values of the radiation balance, compiled by Rusin et al. (1966), and pub- 
lished in the Soviet “ATnac AHTapKTUKZI.’’ 

Fig. 47 Total solar radiation in the Antarctic (kcal cm-2 yr-l). Year. 

In the first of these maps (Fig. 47) is clearly seen an area of minimal values 
of total short-wave radiation in the zone of 60” S, and a pronounced increase 
of radiation on the Antarctic continent, associated with the extremely high 
transparency of the atmosphere in this region. This effect is still more dis- 
tinctly seen in the map for January (Fig. 48), when the maximum values of 
total short-wave radiation in the center of Antarctica exceed 30 kcal cm-2 
month-l. In December, the corresponding value is a few per cent greater 
than in January, and constitutes the highest monthly values of total short- 
wave radiation observed on the globe. 
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According to data obtained by Rusin, the atmospheric transparency in the 
Antarctic is especially great in the central highland regions, where the trans- 
parency coefficient (the ratio of the flux of direct radiation incident upon a 
normal surface to the value of the solar constant) amounts to 0.9. 

It  is natural that under such conditions, the role of scattered radiation 
declines and, notwithstanding intensive reflection of the sun’s rays from the 
snow surface with their subsequent scattering, the principal component of 
the total solar radiation is found to be direct-beam radiation. 

50 70 90 110 130 

Fig. 48 Total solar radiation in the Antarctic (kcal cm-2 month-l). January. 

The annual values of the radiation balance (Fig. 49) are characterized by a 
rapid decrease in high latitudes due to the very high albedo of the snow and 
ice cover. The albedo of the Antarctic continent, according to Rush’s data, 
is equal on the average to 0.83-0.84, slightly decreasing in summer months 
in the coastal regions. Because of such high values of albedo, absorbed 
radiation in Antarctica is rather small and amounts in sum to about 15-20 
kcal cm-2 yr-l. 

Net long-wave radiation in the Antarctic, in spite of the small values of 
counterradiation from a cold atmosphere with little cloudiness, is com- 
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paratively small because of the permanently low temperature of the radiating 
surface. However, over the period of a year, it proves to be greater than 
absorbed short-wave radiation, the result of which is that annual totals of the 
radiation balance in Antarctica are negative. The location of the zero isoline 
of the balance coincides closely with the coastline of the continent. It must 
be indicated that the negative values of the annual radiation balance are not 
only the consequence of the unique climatic conditions on this continent but 
are also, to some extent, a factor that substantially influences the stability 
of the regime of Antarctic glaciation. 

~~ 

Fig. 49 Radiation balance of the Antarctic (kcal yr-l). Year. 

During three to four summer months, the values of the radiation balance in 
Antarctica are positive. They reach their maximum in the coastal zone and 
slowly decrease toward the center of the continent. During most of the year, 
however, monthly values of the radiation balance are negative. The lowest 
values (up to -2 to - 3  kcal cm-2 month-l) are observed at the coast, while 
in the central regions in winter, the radiation balance is approximately equal 
to - 1 kcal cm-2 month-l. 

The maps in Figs. 50 and 51, drawn by Strokina (1966), give some idea of 
the distribution of the turbulent sensible-heat flux and the latent-heat flux 
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from the surface of the ocean encircling Antarctica. It is seen from these 
maps that both of the turbulent components of the heat balance decrease 
with an increase in latitude. It must be remembered, however, that near the 
coasts of the mainland the values of the latent-heat and sensible-heat fluxes 
increase appreciably, because this region receives quite cold and dry air out 
of the Antarctic continent. This heat outgo is especially great in regions 
where leads in the ice remain open throughout the year, where it may reach 
100-200 kcal cm-2 yr- l  and still greater values. As a result, the general 

decrease in the outgoing fluxes of latent and sensible heat with increase in 
latitude is replaced near the coast of Antarctica by a pronounced rise in these 
quantities. (This cannot be depicted in the maps presented here because of 
their small scale.) 

The values of the turbulent fluxes of sensible and latent heat on the Antarctic 
continent are at present determined only approximately. According to the 
data obtained by Rusin, the turbulent sensible-heat flux in Antarctica over 
the course of the whole year is directed from the atmosphere toward the 
earth’s surface. Annual values of this flux amount to - 5 to - 10 kcal cm-2 



188 111 HEAT BALANCE OF THE GLOBE 

yr-l ,  except in the region of katabatic winds, where they may reach - 15 to 
-20 kcal cm-2 yr-l. 

Heat conversion in evaporation in the central regions of Antarctica is 
small, and probably fully compensated by the heat income from condensation 
of water vapor on the snow surface. In the coastal zone, evaporation notice- 
ably increases in regions of drainage wind activity, where heat loss for 
evaporation may amount to 10-15 kcal cm-2 yr-l. 

Fig. 51 Sensible-heat flux from the earth’s surface into the atmosphere in the 
Antarctic (kcal yr-l). Year. 

Considering the evaluations of components of the heat balance presented 
here, Rusin inferred the special importance of the turbulent sensible-heat 
flux as the fundamental source of energy in the heat balance of Antarctica. 
I t  follows from this conclusion that the thermal regime of Antarctica essenti- 
ally depends on heat transfer by atmospheric advection from lower latitudes. 

Comparing regularities in the heat balances of the central regions of the 
Arctic and Antarctic, we can conclude that in several respects they are 
similar. 
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In Antarctica, as in the central regions of the Arctic Ocean, all the com- 
ponents of the heat balance are, as a rule, rather small in comparison with 
their values in lower latitudes. The reason for this is the high albedo, which 
results in the fact that the energy basis of the heat balance-absorbed solar 
radiation-turns out to be very small. Thus, with appreciable annual and 
very large summer values of total solar radiation, the radiation balance in 
high latitudes is close to zero, which has a considerable effect on the con- 
ditions of air-mass transformation and is an important factor in the formation 
of the cold thermal regime of high latitudes. 

The heat balance of mountain regions 

The components of the radiation and heat balances on land depend sub- 
stantially on the relief of the terrain. This influence is especially great in 
mountainous areas, where it is a consequence of both the general elevation 
of the surface and also of special exposures of slopes with respect to the 
direction of the sun’s rays and to the position of adjacent hills covering part 
of the sky. 

Study of the radiation regime in mountains began at  the end of the 19th 
century. Among the first studies in this direction were those of K. Angstrom 
(1901), who measured solar radiation on top of the Peak of Tenerife (3683 m), 
Allesandri’s observations (1909) on Monte Rosa (4500 m), and Nezdiurov’s 
observations (1909) conducted on Little Ararat (up to the height of 3800 m). 
Systematic measurements of short-wave radiation in mountains were first 
begun at Alpine health resorts, data of these observations having been 
generalized in papers of Dorno (1925), Gotz (1926), and others. 

Later, the Alpine regime of radiation was thoroughly studied in the papers 
of such Austrian scientists as Steinhauser (1939, 1951), Morikofer (1935), 
Sauberer (1938, 1954, 1955), Sauberer and Dirmhirn (1951, 1958), Dirmhirn 
(1951), and other authors. Although the radiation regime of other foreign 
mountain regions is far too little investigated, data of more or less long 
observations, chiefly of short-wave radiation, are nevertheless available for 
some regions. 

In the Soviet Union, the most detailed studies of the radiation regime of 
mountain regions have been carried out in the Caucasus (Voloshina, 1961 ; 
Gongodze and Sulakvelidze, 1953; Mosidze, 1956; Rukhadze, 1960; Tsut- 
skiridze, 1960; Shikhlinskii, 1960; and others) and in Middle Asia (Aizensh- 
tat, 1961; Veremeichikova, 1962; Danilova, 1954; Zuev, 1958; Drozdov and 
Nikolaenko, 1964; Karol’, 1962; Kazanskii and Kolesnikova, 1961 ; Lopu- 
khin, 1957, 1959; and others). 

In some recent investigations, the heat-balance components at the earth’s 
surface of mountain regions have been measured. Such observations were in 
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most cases carried out on glaciers and associated with the study of their 
evolution. 

Utilization of material of the above investigations permitted the working 
out of methods for calculating the components of the radiation and heat 
balances in mountains and applying them to a detailed study of the distri- 
bution of these components in mountain regions. Thus, for example, 
Shikhlinskii (1960, 1968) calculated and mapped total short-wave radiation, 
radiation balance, turbulent sensible-heat flux, and latent-heat flux for the 
territory of the Azerbaijan SSR. 

In the study of Borzenkova (1965), applying specific methods for climatolo- 
gical calculation of heat-balance components, maps of radiation-balance 
components in the Caucasus were constructed. Vertical gradients of the values 
studied, which later were used for the construction of appropriate maps, 
were determined in this paper. 

We present here maps of the annual values of total short-wave radiation 
(Fig. 52)  and the radiation balance (Fig. 53) in the Caucasus that were 
constructed by Borzenkova. 

As seen in the first map, short-wave radiation varies considerably in the 
territory of the Caucasus. These variations are due both to changes in terrain 
altitude and to differences in the regime of cloudiness. 

Values of the radiation balance are less variable than those of solar radia- 
tion, up to altitudes of 2-2.5 km. Above this level, the radiation balance 
starts decreasing noticeably, and in the zone of permanent snow, it reaches 
values close to zero. 

Using material of available investigations of the radiation regime and heat 
balance in mountain regions, it is possible to draw some conclusions about 
regularities of the income of solar energy and its transformation in mountain 
conditions. 

In the mountains, total solar radiation usually increases with altitude, 
because of the increase of both direct and scattered radiation. It should be 
indicated, however, that scattered radiation increases with altitude only when 
clouds are present; in cloudless weather, the quantity of scattered radiation 
does not increase with altitude, but decreases. A pronounced increase in the 
amount of scattered radiation is observed in the zone with snow cover, as a 
result of the significant increase of radiation reflected from the earth’s 
surface. 

Net long-wave radiation also increases somewhat with altitude, at any 
rate up to an altitude of several kilometers. However, these changes are 
not very great, because the reduction of atmospheric counter-radiation in 
the mountains is, to a considerable extent, compensated by the reduction 
of radiation emitted from the earth’s surface due to the lowering of its 
temperature. 
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The radiation balance of mountain regions lying below the zone of snow or 
ice changes relatively little with altitude, since the increase in absorbed short- 
wave radiation is, to some extent, balanced by the increase in net long-wave 
radiation. With snow cover, the abrupt increase in albedo significantly re- 
duces absorbed short-wave radiation, which leads to a considerable decrease 
in values of the radiation balance. 

Variations of latent-heat flux with altitude depend on moisture conditions. 
In areas of surplus moisture, the conversion of heat by evaporation in 

Fig. 53 Radiation balance (kcal cm-2 yr-l) in the Caucasus. Year. 

mountains decreases with altitude, because of the fall in temperature of the 
evaporating surface. In regions of insufficient moisture, the quantity of 
precipitation in mountains usually increases with height, which sometimes 
leads to an increase in latent-heat flux with height up to the level at which 
the effect of temperature reduction compensates the influence of the increase 
of precipitation. 

The dependence of the turbulent sensible-heat flux on altitude is associated 
with the variations in the latent-heat flux, and in the snow-free zone, it is 
usually of a reverse character-an increase of latent-heat flux with altitude is 
accompanied by a decrease of the sensible-heat flux, and vice versa. 
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2. Variations of the Components of the Heat Balance in Time 

The annual march of components of the heat balance 

On the basis of the material comprised in “ATnac TennoBoro 6 a n a ~ c a  3 e ~ ~ o 1 - o  
ruapa,” it is possible to present the principal regularities of the changes in 
components of the heat balance during the annual march. Let us look first 
at  the characteristics of the annual cycle of balance components at the surface 
of the land. 

A typical annual march of the heat-balance components in the equat‘orial 
zone is presented in Fig. 54 (Silo Gabriel, South America). The graph in this 
figure shows that in the equatorial zone, the radiation balance [surplus] R 

Fig. 54 Annual march of the components of the heat balance. SHo Gabriel, 0” 08’ S, 
67” 05’ W. Equatorial continental climate. 

changes comparatively little during the annual march. The two maxima-in 
spring and in fall-are associated with the increase of total short-wave 
radiation at  the times of equinox, when in equatorial latitudes the mean 
altitude of the sun is greatest. 

Because the soil is permanently moistened by abundant precipitation in the 
region of Silo Gabriel, the principal fraction of the energy of the radiation 
balance goes for evaporation. The annual march of the latent-heat flux LE 
is nearly parallel to the annual march of the radiation balance. The sensible- 
heat flux P is characterized by small values in every month. Its value increases 
at  the end of a period of relatively low precipitation, when the heat outgo 
for evaporation becomes slightly reduced. 

Other regularities of the annual march of the heat-balance components 
are shown in Fig. 55, illustrating climatic conditions of the equatorial mon- 
soons on the east side of the continents (Saigon, Vietnam). A radiation 
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balance maintaining high values throughout the year has a maximum at the 
end of winter and beginning of spring, when the region under consideration 
is occupied by dry tropical air with little cloudiness. The reduction of cloudi- 
ness increases total short-wave radiation considerably, which leads to an 
increase in the radiation balance. 

Heat conversion in evaporation in Saigon is also great because of high 
annual precipitation, but it possesses a significant annual cycle. At the 
beginning of the dry period, when the soil has not yet dried out, the conversion 
to latent heat remains large. Then, in proportion to the drying of the soil, 
this conversion to latent heat falls off rapidly. At the end of the dry season, 
it has decreased to a fraction of what it was in the rainy season. 

Months of the year 

Fig. 55 Annual march of the components of the heat balance. Saigon, lo" 47' N, 
106" 42' E. Equatorial monsoon climate. 

It is interesting to note that the evaporation minimum is observed later 
than the maximum in the radiation balance. This is presumably to be ex- 
plained by the dependence of evaporation on the state of soil moisture. 

The annual march of the exchange of sensible heat is, in general, opposite 
to that of evaporation. The value of the turbulent sensible-heat flux is small 
in all months except in the dry period, when it becomes greater than the flux 
of latent heat. 

Regions of the tropical zones are characterized by a great variety of regimes 
of components of the heat balance, depending on their location relative to the 
quasi-permanent pressure systems. 

The annual march of components of the heat balance in regions of con- 
tinental tropical climate is presented in Fig. 56 (Aswan, northeastern Africa). 

Under typical conditions of tropical deserts, the annual march of the heat- 
balance components is defined by rather simple regularities. With insignificant 



2 VARIATIONS IN TIME 195 

cloudiness throughout the year, the variations in the radiation balance are 
conditioned principally by changes in sun altitude that occur during the 
annual march and lead to corresponding changes in total incoming short- 
wave radiation. The marked annual cycle in the radiation balance in this 
case shows the great influence of astronomical factors on the radiation 
balance even in comparatively low latitudes (about 24"). It should be noted 
that the greatest values of the radiation balance at Aswan are approximately 
equal to those at Saigon, although the corresponding values of total short- 
wave radiation differ considerably. This can be explained by the increased 
albedo in desert regions and mainly by the large values of net long-wave 
radiation at a strongly heated desert surface. 
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Fig. 56 Annual march of the components of the heat balance. Aswan, 24" 02' N, 
32" 53' E. Tropical continental climate. 

Since there is practically no precipitation in Aswan, the heat conversion in 
evaporation through the year is near zero. As a consequence, the sensible- 
heat outgo is very great and near the value of the radiation balance. (The 
small difference between these values is caused by the existence of a small heat 
exchange in the soil.) 

Different conditions of the annual march of components of the heat balance 
are observed in the regions at the western periphery of the subtropical anti- 
cyclones. In these regions (refer to Fig. 57, where the annual march of heat- 
balance components at  Payo-Obispo, Central America is presented), the 
amount of precipitation is significant, and the conversion of heat for evapora- 
tion is correspondingly large. During almost the whole year, the heat con- 
version for evaporation constitutes the greater part of the radiation balance, 
the outgo of sensible heat being small in comparison. Evaporation decreases 
slightly in spring, in the time of a short dry period, during which the soil loses 
part of its moisture. Simultaneously, the value of the sensible-heat outgo 
increases markedly. 
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Months of t h e  year  

Fig. 57 Annual march of thecomponents of the heat balance. Payo-Obispo, 18" 30' N, 
88" 2 0  W. Tropical climate of the western periphery of the oceanic anticyclones. 

In regions on the eastern periphery of the oceanic anticyclones, desert 
conditions are observed which are not very different from those of con- 
tinental tropical deserts. An example of the annual march of components 
of the heat balance in this climatic type is presented in Fig. 58 (Mossamedes, 
southwestern Africa). 

As seen from this figure, the radiation balance in Mossamedes, like that 
in Aswan, varies in correspondence to changes in the mean altitude of the 
sun (its maximum being in the Southern Hemisphere summer). Conversion 
of heat in evaporation is negligible in Mossamedes, and the flux of sensible 
heat is close to the radiation balance. 

In the subtropical zones, climatic conditions also are very diverse, in 
dependence on regularities in the circulation processes. Corresponding to 
this, the balance components change also. 
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Fig. 58 Annual march of the components of the heat balance. Mossamedes, 15" 12' S, 
12" 09' E. Tropical climate of the eastern periphery of the oceanic anticyclones. 
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A typical picture of the annual march of heat-balance components in a 
subtropical continental climate is presented in Fig. 59 (Aidin, central Asia). 
In this case, the annual march of the radiation balance, conditioned by astro- 
nomical factors, is very marked, and the radiation balance approaches zero 
in the winter months. Heat conversion in evaporation is small, because of the 
small amount of precipitation. Therefore, in the warm season, the sensible- 
heat flux reaches high values. 

Another type of the annual march of heat-balance components is seen for 
the conditions of the western coasts of continents in subtropical climates. 
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Fig. 59 Annual march of the components of the heat balance. Aidin, 39" 23' N, 
54" 50' E. Subtropical continental climate. 

Under conditions of an arid summer and humid winter, typical of the 
Mediterranean climate, a unique annual march of latent-heat and sensible- 
heat flux is observed. In  these regions, heat outgo for evaporation rapidly 
increases in spring along with the increase in the radiation balance, and then 
sharply falls with the drying of the upper layers of the soil. A small secondary 
maximum of evaporation is observed at the end of autumn, when the soil is 
becoming moist again. It is soon replaced, however, by a winter minimum, 
caused by the deficit in the radiation balance. In  these conditions, the tur- 
bulent flux of sensible heat has a high maximum in summer and at  the 
beginning of autumn. 

In  the subtropical monsoon climate on islands near the eastern coasts of 
the continents, as is seen from Fig. 60 (Miyazaki, Japan), the maximum in 
the radiation balance is shifted toward the end of summer. This is caused by 
heavy cloudiness in the summer monsoon. The large amount of precipitation 
provides for high amounts of latent-heat flux, which are close to the values 
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Fig. 60 Annual march of the components of the heat balance. Miyazaki, 31" 56' N, 
131" 26' E. Subtropical monsoon climate. 

of the radiation balance. The sensible-heat outgo throughout the year is 
comparatively small. 

In middle latitudes, the regularities of the annual march of the components 
of the heat balance are also different under different conditions of atmospheric 
circulation. In the interior regions of the continents, the radiation balance 
possesses a distinct summer maximum, which, in the Northern Hemisphere, 
comes in June (refer to Fig. 61, where data for Barnaul are given). In spring 
and autumn, the radiation balance changes rapidly, and in the cold season 
it is characterized by negative values, which in absolute terms are much 
smaller than the summer maximum. The period with negative values of 
radiation balance corresponds more or less to the period of snow cover on 
the ground, although there is not complete coincidence between them. 
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Fig. 61 Annual march of the components of the heat balance. Barnaul, 53" 20' N, 
83" 42' E. Continental climate of the middle latitudes. 
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The annual march of heat used in evaporation under these climatic con- 
ditions resembles that of the radiation balance. In this case, the difference 
between the values of latent-heat flux and radiation balance in the warm 
season is larger, the greater the moisture deficit of a given place is. Variations 
in the outgo of sensible heat during the annual cycle are characterized by a 
summer maximum, which increases with an increase in dryness of the climate. 
In winter, the sensible-heat flux is directed from the atmosphere to the earth's 
surface, but its absolute values are smaller than in summer. 

The difference between the times when components of the heat balance 
reach their maxima deserves attention. The maximum outgo of heat for 
evaporation can be observed earlier or later than the maximum in the radia- 
tion balance. The date of this maximum depends on the annual march of 
precipitation and the associated change in soil moisture. If the maximum in 
the latent-heat flux precedes the radiation-balance maximum, then the 
maximum in the sensible-heat flux is commonly observed after that in the 
radiation balance, and vice versa. 

In the zone of monsoon climates of the eastern coasts of the middle- 
latitude continents, the annual march of heat-balance components depends 
on the monsoon circulation (refer to Fig. 62, Grossevichi). In  this case, heavy 
cloudiness in summer reduces the maximum value of the radiation balance. 
The curve of the latent-heat flux has a unique shape, with a maximum in 
August. In winter, the heat balance of this region has features like those of 
the heat balance in the same latitudes in a continental climate. 

In higher latitudes and conditions of a subarctic continental climate, the 
heat-balance components have an annual march similar to that in conditions 
of the continental climate of middle latitudes (refer to Fig. 63, Turukhansk). 
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Fig. 62 Annual march of the components of the heat balance. Grossevichi, 47" 58' N, 
139" 32' E. Monsoon climate of the middle latitudes. 
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In this zone, the highest values of the radiation balance slightly exceed those 
in lower latitudes, although the length of the period with positive values of 
the radiation balance is found to be shorter. As a consequence, the curve of 
the annual cycle of the radiation balance acquires a more pointed shape. 
Under these conditions, the curve of the annual cycle of the flux of latent 
heat has a similar shape. 

It is interesting to note that in the Subarctic, the sensible-heat flux directed 
upward in the warm season is still larger in absolute magnitude than that 
directed from the atmosphere to the underlying surface in the cold season. 

The above material shows that the greatest monthly totals of the radiation 
balance on continents vary comparatively little from equatorial latitudes to 
the Subarctic. The principal cause of this lies in the fact that in higher latitudes, 
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Fig. 63 Annual march of the components of the heat balance. Turukhansk, 65" 47' N, 
87" 57' E. Subarctic continental climate. 

the smaller maximum height of the sun in summer is to some degree com- 
pensated by an increase in length of day. Thus, the variation in annual totals 
of the radiation balance with. latitude, which is outstanding in middle and 
high latitudes, is not due to a decrease in maximum values of the balance 
but to a reduction in the duration of the period with positive values. 

The annual marches of two other basic components of the heat balance on 
land-the latent-heat flux and the sensible-heat flux-are closely connected 
with moisture conditions. 

With surplus moisture in the soil throughout the year, the latent-heat flux 
is close to the value of the radiation balance, the sensible-heat flux being 
small and (with a positive radiation balance) usually indicating an outgo of 
heat from the underlying surface into the atmosphere. 

With the existence of dry periods leading to a noticeable drying of the soil, 
the decline in the latent-heat flux relative to the radiation balance is greater, 
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the more the soil dries. Simultaneously, the sensible-heat flux increases. In 
this situation, the beginning of the decline in the latent-heat flux and of the 
growth in the sensible-heat flux comes slightly behind the time a rainless 
period sets in, because at the beginning of this period the soil usually still 
retains a considerable amount of moisture. 

Under land conditions, the monthly sums of the soil-heat flux from the 
surface to the lower layers are, as a rule, considerably smaller in absolute 
terms than the maximum monthly totals of the principal components of the 
heat balance. At the same time, in those periods when the principal balance 
components are small in absolute value (for example, in winter months), the 
values of the heat flux in the soil are quite comparable in size with these 
components. 

The curve of the annual march of the soil-heat flux resembles a sine curve, 
characterized in the warm season by heat used for warming the soil and in 
the cold season by the gain of heat at the surface from the cooling of the soil. 
The amplitude of the annual march of the soil-heat flux, as already pointed 
out in Chapter 11, is closely connected with the annual amplitude of air 
temperature variation. In consequence, in many tropical regions where air 
temperature varies little during the annual cycle, the monthly sums of heat 
flux into [and out of] the soil are small throughout the year. 

Monthly values of the soil-heat flux reach their greatest magnitude under 
conditions of continental climates of the middle and high latitudes. However, 
in these cases, the maximum monthly values of this flux remain appreciably 
less than those of the radiation balance. This distinguishes the conditions of 
the exchange of heat between the surface and the lower layers on land from 
the corresponding situation on the oceans. 

The components of the heat balance at  the surface of Antarctica possess a 
completely unique annual march. Figure 64 presents appropriate data at  
Mirnyi station, situated at the periphery of the Antarctic continent. It is 
seen from this figure that under conditions of continental glaciation, the 
heat-balance components are small in absolute value throughout the entire 
year. The annual cycle of the latent-heat flux is similar to that of the radiation 
balance, but the total amount of heat used for evaporation over the whole 
year is greater than the total amount in the radiation balance. During the 
whole year, the flux of sensible heat is directed from the atmosphere to the 
earth's surface, reaching its maximum absolute value in winter. 

The annual marches of heat-balance components at different climatic 
zones of the oceans will be considered in the same order as for the land. 

We shall illustrate the annual march of the heat-balance components in 
the equatorial zone of the oceans by data for the central region of the Atlantic 
Ocean (latitude 0", longitude 30" W). It is seen from the data presented in 
Fig. 65 that in this region, the radiation balance changes comparatively little 
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Fig. 64 Annual march of the components of the heat balance. Mirnyi, 66" 33' S, 
93" 01' E. The Antarctic. 

throughout the year. Heat converted in evaporation represents a considerable 
portion of the radiation balance, and the sensible-heat flux, which is small 
throughout the year in absolute value, is directed from the ocean's surface 
to the atmosphere. 

In  this region, the heat flux directed from the water surface into the deeper 
layers reaches its greatest values in spring and autumn, when the heat income 
from the radiation balance appreciably exceeds the heat outgo in the latent- 
heat sensible-heat fluxes. A surplus of heat received by the water masses at  
these times must presumably be transported from the region under considera- 
tion to higher latitudes as a result of the activity of currents and macro- 
turbulence. 

The annual march of the heat-balance components under conditions of 
the oceanic climate of the equatorial monsoon zone is presented in Fig. 66 
(a region of the Arabian Sea, latitude 15" N, longitude 70" E). 

In this case, the annual course of the radiation balance is substantially 
influenced by an increase of cloudiness in summer, when there is a period of 
advection of equatorial air masses. The increase of cloudiness reduces total 

w 
Months of the year 

Fig. 65 Annual march of the components of the heat balance. Atlantic Ocean, 0" 
latitude, 30" W. Equatorial climate. 
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short-wave radiation and the radiation balance, in the annual cycle of which 
appears a secondary summer minimum. The turbulent flux of sensible heat is 
negligible throughout the year (which corresponds to the small differences 
between water and air temperatures); however, it increases slightly in winter, 
which is characteristic of monsoon climates. 

In this region, the heat conversion in evaporation varies in an annual cycle 
that is inverse to the variation in the radiation balance. (We should note 
that such a regular feature is typical of the greater portion of the ocean 
surface.) In this case, the winter maximum can be explained by an inflow of 
dry trade-wind air, which noticeably increases the humidity deficit. The 
summer maximum is caused by a strong increase of wind speed during the 
active period of the equatorial monsoon. 

/I / // /// / Y  Y Y /  Y / /  v/// /I x x/ x// 
Months of the year  

Fig. 66 Annual march of the components of the heat balance. Indian Ocean, 15" N, 
70" E. Equatorial monsoon climate. 

As a result of the considerable growth of the latent-heat flux in winter and 
in summer and the corresponding decrease in the radiation balance, there 
appears a heat flux directed from the lower water layers to the surface, 
though its absolute values remain relatively small. In contrast, great amounts 
of heat are transferred from the ocean's surface to the deeper layers in spring 
and autumn and then transported horizontally to other regions of the world 
ocean. 

In the tropical belts of the oceans, the annual march of the heat-balance 
components is different in regions with different conditions of atmospheric 
circulation. 

As is well known, warm ocean currents are found at the western periphery 
of the oceanic anticyclones. 
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We shall take as an example the region of the Mozambique Channel 
(latitude 20" S, longitude 40" E). The annual march of the heat-balance 
components in this area is given in Fig. 67. 

Under these conditions, the radiation balance varies generally in accord 
with the annual march of short-wave radiation, and the latent-heat flux has 
the opposite pattern. The sensible-heat flux increases slightly in winter 
(Southern Hemisphere), when the activity of the warm current strengthens. 
At this season, heat fluxes in the latent and sensible forms noticeably exceed 
the radiation balance, which leads to the disbursal of a considerable amount 
of heat coming from deeper layers. Such a phenomenon is typical of the 
active area of warm currents transporting relatively heated water masses. 

R 
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Fig. 67 Annual march of the components of the heat balance. Indian Ocean, 20" S, 
40" E. Tropical climate of the western periphery of the oceanic anticyclones. 

In contrast to conditions of the western periphery of the oceanic anti- 
cyclones are the cold currents at their eastern periphery. The annual course 
of the components of the heat balance changes correspondingly. We shall 
illustrate the annual course of the balance components in tropical regions of 
the western periphery of the oceanic anticyclones from data relating to 
the region of the Benguela Current in the southeastern Atlantic Ocean 
(latitude 20" S and longitude 10" E-refer to Fig. 68).  

Heat conversion in evaporation is diminished here, compared to its value 
in the previous region, which is situated in the same latitude. The sensible- 
heat flux, small in absolute value, is directed in the Southern-Hemisphere 
summer from the atmosphere to the colder ocean surface. 

Since the heat income from the radiation balance is greater than the heat 
used in evaporation through most of the year, then, for the region under 



2 VARIATIONS IN TIME 205 

/ I/ / I /  / v  v v/ v// v////x x x/ XI/ 

Months of the year 

Fig. 68 Annual march of the components of the heat balance. Atlantic Ocean, 20' S, 
10" E. Tropical climate of the eastern periphery of the oceanic anticyclones. 

consideration, a large amount of thermal energy is transferred to the deeper 
water layers and is spent on heating the comparatively cold water masses 
transported by the current. This expenditure reaches especially great values 
in the Southern-Hemisphere summer. 

Under conditions of the subtropical zone, the principal regularities in the 
annual march of heat-balance components at the ocean surface are, in general, 
similar to those for the corresponding regions of the tropical latitudes. A 
sharper annual cycle in the radiation balance, caused by considerable changes 
in the mean height of the sun during the year, warrants attention. 

Typical curves for the annual march of heat-balance components at the 
ocean surface in middle latitudes are shown in Figs. 69 and 70. The first 

lo r 

Months of the year 

Fig. 69 Annual march of the components of the heat balance. Atlantic Ocean, 60" N, 
10" W. Climate of middle-latitude regions in warm currents. 
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figure, relating to the northern Atlantic Ocean (latitude 60" N and longitude 
10" W), defines the conditions of the heat balance in the area where a warm 
current, the Gulf Stream, is active. 

At latitude 60", the radiation balance at  the ocean surface varies within 
very wide limits during the year, and its negative values in winter, unlike 
those for land conditions, cannot be considered small in absolute value. 

Throughout the year, in this region, the turbulent flux of sensible heat is 
directed from the warmer ocean surface to the atmosphere, its values being 
much greater in winter than in summer. Heat outgo in evaporation is also very 
large in winter. The ocean surface must therefore get a great amount of heat 
from deeper layers during the winter months, in order to make up for the 
outgo in evaporation and sensible heat and the radiative heat loss. 

lo r L E  

M o n t h s  of t h e  y e a r  

Fig. 70 Annual march of the components of the heat balance. Pacific Ocean, 45" N, 
160" E. Monsoon climate of the middle latitudes. 

The heat gained in this situation partly comes from the cooling of the 
upper layers of water and partly from the enormous energy resources of the 
Gulf Stream. 

The annual march of the components of the heat balance changes when 
warm-current activity is combined with the effect of the monsoon climate 
of middle latitudes. Figure 70, representing data of the northwest part 
of the Pacific Ocean (southwest of the Kurile Islands-45" N and 160" E), 
shows that in these circumstances the sensible-heat flux becomes negative in 
the warm season, and in the cold is directed from the ocean toward the 
atmosphere. It is evident that the change of the sensible-heat flux reflects the 
influence of the monsoon circulation on the heat exchange. 

In the region under consideration, as well as in the previous case, the ocean 
surface gets a significant quantity of heat from deeper layers in winter months, 
to a considerable degree the consequence of using the energy of the warm 
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current, Kuro Shio. In opposition to this, the gain of heat from the radiation 
balance in summer greatly exceeds the expenditure for evaporation, which 
leads to a heating of the upper water layers and promotes the transfer of 
surplus heat to other oceanic regions by means of horizontal heat conductivity. 

In conclusion, we make some deductions about general regularities in the 
annual cycle of components of the heat balance on the oceans. 

The annual march of the radiation balance on oceans is, in general, 
similar to that on land areas that are under conditions of a humid climate. 

Turbulent exchange of sensible heat on the oceans depends essentially on 
the activity of warm and cold ocean currents, which alter the temperature 
of the water surface. In regions of cold currents, the sensible-heat flux 
directed from the atmosphere to the underlying surface usually has small 
absolute values; in regions of warm-current activity, the heat flux directed 
from the water surface to the atmosphere may reach very large values. 

It must be pointed out that in both cases (contrary to land conditions), the 
annual march of the sensible-heat flux is poorly connected with that of the 
radiation balance, but depends to a considerable extent on variations of 
the ocean current regime in its annual march. 

A similar regularity is observed also in the annual march of the heat con- 
version for evaporation from oceans. As indicated above, in conditions of 
humid areas, the annual cycle of heat conversion for evaporation is close to 
that of the radiation balance. In contrast to this, the variations of heat 
conversion for evaporation during the annual cycle on oceans are usually in 
reverse to those of the radiation balance. At the same time, the annual sums 
of heat converted in evaporation on the oceans, when averaged over rather 
large areas, are in most cases very close to the sums of the radiation balance. 

In regard to annual marches of components of the heat balance for land 
and oceans, conditions of the heat exchange between the surface and lower 
layers differ most of all. On land, this heat-balance component is usually 
small in individual months and near zero for the year; on oceans, it may 
amount to very large values both for the year and in particular individual 
months. Such a characteristic, caused by the great horizontal and vertical 
heat conductivity in water bodies, is the main cause of the difference between 
oceanic and continental climates. 

The daily march of the components of the heat balance 

Most of the material on the diurnal variation in the members of the balance 
has been obtained during short periods of expedition observations, which 
hampers their utilization in studying mean climatological regularities. 

Among the experimental investigations of the diurnal march of heat-balance 
components, attention should be paid to the work carried out at the station 
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of the physics of the boundary layer, in Koltushi (Leningrad region). Utilizing 
observational data obtained at Koltushi and analyzed by Ogneva (1955), 
Fig. 71 shows for July the mean diurnal cycle of the radiation balance R, the 
latent-heat flux LE, the sensible-heat exchange P ,  and the heat inflow A into 
and out of the soil. 

It is seen from this figure that the diurnal variation of the heat-balance 
components in the warm season is analogous to the annual variation of 
balance components for similar climatic conditions of middle latitudes. 

In the daytime, relatively large positive values of the radiation balance 
arc converted to latent heat, sensible heat, and heat exchange in the soil. 
In this situation, the latent-heat flux is noticeably larger than the sensible- 
heat flux (typical of humid climate conditions), and the heat inflow into the 
soil is considerably less than either the latent-heat flux or the sensible-heat 
flux. 

Hours o f  the day 

Fig. 71 Daily march of the components of the heat balance in the Leningrad region. 
July. 

At night, the negative radiation balance is comparatively small in absolute 
value, the heat outgo for evaporation is close to zero, and the outgo of radia- 
tive heat is compensated by the gain of heat from the turbulent sensible-heat 
flux and heat outflow from the soil. 

In the spring and autumn months, as Ogneva’s data show, the amplitude 
of the diurnal march of the heat-balance components diminishes with the 
decrease in the maximum altitude of the sun. In winter, the amplitude of the 
mean diurnal variation of all the heat-balance components is rather small. 

We shall give here some data on the diurnal variation of the heat-balance 
components in arid climatic conditions, for comparison with the conditions 
of humid mid-latitude climates considered above. For this purpose, we 
employ observational data obtained during the GGO expedition to Pakhta 
Aral (Central Asia), in July 1952 (Aizenshtat et al., 1953). Although the 
period of observations of the expedition was rather limited, we can neverthe- 
less feel certain that, because of the stability of desert and semidesert climate 
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in summer, the observational material obtained during this expedition is 
typical of mean long-term conditions. 

The diurnal march of components of the heat balance at Pakhta Aral is 
presented in Fig. 72. In this case also, the similarity between the regularities 
of the annual and diurnal cycles of the heat-balance components is quite 
apparent. As in the annual march, the diurnal march in summer is charac- 
terized by positive values of the radiation balance that are disposed of for 
sensible-heat flux and heat inflow into the soil ; the turbulent sensible-heat 
flux noticeably exceeds in magnitude the heat flow into the soil. At night, a 
comparatively small radiative outgo of heat is compensated by the gain of 
heat from the soil and the air. Heat conversion by evaporation is close to zero 
because of the lack of moisture in the soil. 

*u -0.5 
0 4 E 12 16 20 24 

Hours of t he  day 

W 

Fig. 72 Daily march of the components of the heat balance in the semidesert of 
Central Asia. July. 

The difference between annual and diurnal cycles of the balance compon- 
ents is caused in this case by differences in the relative duration of the period 
with negative values of the radiation balance. In the diurnal cycle, this 
period is close to 12 hr, while in the annual cycle of the deserts of Central 
Asia, negative values of the radiation balance are observed during only a 
small part of the year-a few winter months. 

Since, in lower latitudes, negative monthly values of the radiation balance 
are not observed at all, it is clear that for tropical and subtropical latitudes, 
the above similarity between annual and diurnal cycles is broken. 

Besides data on the diurnal variation of heat-balance components obtained 
as a result of using special methods for balance observations, calculations 
have been made in a number of studies on the basis of network observations 
of the basic meteorological elements. Utilization of calculation methods to 
determine changes in the balance components during the diurnal cycle 
has expanded the possibilities of studying the climatological regularities of 
the heat-balance components. 
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Biriukova (1956), on the basis of calculations of diurnal variation in heat- 
balance components for climatic zones of the USSR, came to a number of 
conclusions concerning characteristic features of the diurnal marches under 
different climatic conditions. 

Using calculation methods set forth in Chapter I1 of this book, Biriukova 
constructed graphs of the diurnal variation of the components of the heat 
balance in various climatic zones. We will not give these graphs here, but 
merely state the principal conclusions from this paper. 

It follows from Biriukova's data that in the forest zone of middle latitudes 
in summer, the radiation balance is positive during the greater part of the 
24-hour period (14-15 hr). In wintertime the radiation balance in this zone 
may remain negative throughout the 24 hours. 

Under forest zone conditions, the greatest rates of latent-heat flux are 
usually observed in the afternoon, while the maximum sensible-heat outgo is 
often observed at  earlier hours. 

In more southern regions associated with the steppe zone, the radiation- 
balance maximum during the diurnal cycle in summer is slightly greater 
than that in the forest zone, but the duration of the period with a positive 
radiation balance is somewhat less. 

In the steppe zone, the passage of the radiation balance through zero 
occurs at higher sun altitudes than in the forest zone. This is to be explained 
by the increased values of net long-wave radiation in the more southerly 
latitudes in the summer period. 

In the winter period in a number of regions of the steppe zone, the radiation 
balance in daytime may maintain positive values during 4-6 hr of the 24. 

For the still more southerly regions of the desert zone, very high maxima 
of total short-wave radiation are typical in summertime. In this situation, 
however, the corresponding maxima of the radiation balance are relatively 
reduced (because of the very great values of net long-wave radiation) and 
usually do not exceed those in the steppe zone. 

Under conditions of the deserts of Central Asia, the radiation balance in 
the midday hours is, as a rule, positive during the whole year. The transition 
of radiation-balance values in the desert zone past zero occurs at  solar 
altitudes that are higher than in the steppe and forest zones. 

Material on the diurnal variation of components of the heat balance on 
oceans has been obtained by Strokina, who processed observational data from 
several weather ships for this purpose. 

The results of Strokina's calculations are presented in Figs. 73 and 74, 
which characterize the diurnal march of the heat-balance components in the 
northern part of the Atlantic Ocean (latitude 44" N, longitude 41" W) for 
mean conditions in February and August. 

In both cases, the latent- and sensible-heat fluxes between the ocean 
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Fig. 73 Daily march of the components of the heat balance at the ocean surface 
(44" N, 41" W). February. 
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Fig. 74 Daily march of the components of the heat balance at the ocean surface (44" N, 
41" W). August. 
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surface and the atmosphere change very little during the diurnal cycle. The 
changes in the radiation balance lead to considerable changes in the heat 
exchange between the ocean surface and lower layers. 

It is seen from these figures that the diurnal regularities of all components 
of the heat balance on oceans (except the radiation balance) differ noticeably 
from the corresponding regularities on land. 

Aperiodic variations in the components of the heat balance 

Aperiodic variability in heat-balance components during long periods of 
time is a factor in climatic change and, for shorter periods, a factor of 
variations in weather. 

The long-term variations in the balance components are usually small in 
comparison with the means of the balance components, which hampers their 
investigation. 

Thus, for example, let us consider the case of a 5" rise in the temperature 
of the upper 100-m layer of the ocean, which corresponds to a very great 
shift in climatic conditions. If such a temperature variation occurred during 
a century, it would correspond to an increase in heat content of the water 
by 0.5 kcal cm-2 yr-l, a small value in comparison with the principal com- 
ponents of the heat balance of the ocean. In reality, such variations in ocean 
temperature usually occur over much greater periods of time; as a result the 
corresponding yearly changes in components of the heat balance are extremely 
small. 

Notwithstanding this fact, some fluctuations in energy regime associated 
with changes in climate can be investigated on the basis of observational data. 
In Chapter V of this book, material defining the secular trend of solar radia- 
tion incident on the earth's surface is presented. Some results of calculations 
of changes in components of the heat balance that have taken place during 
large climatic variations are also presented. 

In contrast to the long-term variability of heat-balance components, the 
study of changes in heat-balance components by individual days, weeks, and 
months meets with considerably smaller difficulties, because the values of 
the corresponding changes are often comparable in size with the means of the 
balance components. 

The first study of monthly anomalies of components of the heat balance 
was carried out by Efimova in the paper (1956) mentioned at the beginning 
of this chapter, in which values of radiation-balance anomalies in single 
months were calculated and mapped for the European territory of the USSR. 
Efimova pointed out that the relationships of anomalies in the radiation 
balance with anomalies in  cloudiness are different in summer and winter. 

Along with this, Efimova established a rather close relationship between 



2 VARIATIONS IN TIME 213 

anomalies of the radiation balance and those of air temperature. (An increase 
in radiation balance is usually followed by a rise in  temperature.) 

Zubenok (1968) calculated the values of evaporation in single months at  
several points in the USSR. On the basis of these data, it was found possible 
to evaluate the variability in monthly evaporation (and also in latent-heat 
flux). The coefficients of variation of these values found by Zubenok varied 
from 0.1 to 0.4, their value in regions of insufficient moisture being greater 
than in regions of surplus moisture. 

Of great interest is the problem of the variability of the components of the 
oceanic heat balance, for the fluctuations in heat content of the upper layers 
of the ocean exert a great influence on large-scale atmospheric processes. 

In recent years, calculations of the anomalies of the oceanic heat balance 
have been carried out. They have been based on utilization of the same 
methods as those that have been used for determining and mapping the 
norms of heat-balance components. 

Among the pieces of research having this orientation, we must mention 
those of Roden (1959) and Arkhipova (1960). The first of these presented 
evaluations of anomalies in the heat-balance components for the region of 
the California current, which were obtained from data on the variability 
of individual meteorological elements influencing the balance components. 
Such evaluations are rather approximate, since the magnitudes of anomalies 
of the heat-balance component are determined by the variability, not of 
individual meteorological elements, but of their combinations, which must 
be considered when studying the anomalies. 

More accurate calculations of anomalies of the heat balance on the oceans 
were carried out in Arkhipova's papers, in which monthly values of the heat- 
balance components over a 10-yr period were determined from observational 
data from weather ships in the northern part of the Atlantic Ocean. In her 
papers, information on mean and maximum values of the anomalies of com- 
ponents of the heat balance was obtained, and several regularities that charac- 
terize the stability of the anomalies in time and space were indicated. 

To get more detailed data about the anomalies in the components of the 
heat balance on oceans, a similar investigation was carried out by Budyko, 
Kagan, and Strokina (1966). In this work, a calculation of the heat-balance 
components was made from observational data obtained from nine weather 
ships situated in the northern part of the Atlantic Ocean between 35 and 66" N 
and between 2" E and 51 O W over the period 1951-1960. This calculation used 
material of meteorological observations from the summary of Pflugbeil and 
Steinborn (1963), which included the data of eight observational times in each 
24 hours. 

From these data, values of the radiation balance, sensible-heat flux, and 
latent-heat flux in each month were calculated, by use of procedures em- 
ployed in drawing maps in "ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  ruapa 
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(Atlas of the Heat Balance of the Earth)” (1963). In addition, monthly 
values of the changes in heat content of the upper 100-m layer of water were 
determined by means of the method stated in the previous chapter of this 
book. From the values found for components of the heat balance, means in 
each month of the 10-yr period were determined and found to be quite close 
to similar values calculated from data of the long-term observational period. 
This permitted the determination of anomalies of the heat-balance compo- 
nents as the difference between values for individual calendar months and 
the means over the 10-yr period of observations. 

Table 17 presents absolute values of the anomalies in the heat-balance 
components, meaned over the period of observations and averaged for all 
nine weather ships. I t  is seen from this table that anomalies of radiation 
balance are comparatively small-less than 10% of the radiation-balance 
values in summer months. In winter, the absolute values of these anomalies 
becomes smaller and their relative sizes increase, in relation with the con- 
siderable annual range of the radiation balance in middle latitudes. 

Slightly greater are the anomalies of the latent-heat flux, which during the 
year amount to about 20% of the means. Still greater is the variability of the 
sensible-heat flux, the anomalies of which exceed 3 0 x  in the winter months 
and reach still greater relative values in summer. This is associated with the 
smallness of the absolute magnitudes of the sensible-heat flux during the 
warm season. 

The variations in heat content of the upper layers of water from month to 
month are very large. The anomalies are in absolute magnitude about 50”1, 
of the mean value of the variation in heat content. 

In individual regions of the Atlantic Ocean, the mean anomalies in  the 
components of the heat balance might be appreciably greater than the values 
given in Table 17. In particular, the variability of heat-balance components in 
the region where observations were made by ship D, situated in the stream of 
the North Atlantic current (44” N, 41” W) is very great. 

A great variation in the amount of heat gained or lost in  the upper layers 
of the ocean leads to great variations in values of the oceanic heat content 
in the same month of different years. 

It is seen from analysis of this material that the anomalies in values of the 
heat content of the upper oceanic layer are characterized by a noticeable 
stability in time. It has been established that in  many situations, the sign of 
the anomaly in a certain ocean region remains unchanged for several months, 
a positive correlation between anomalies being observed, on the average, 
for a period of about three months. This is, for example, apparent from the 
data of Table 18, which presents values of the autocorrelation coefficient 
(r,)  between values of oceanic heat content in different months, in  relation 
to the interval of time (7). Since the calculation procedure used does not 



TABLE 17 
ANOMALIES OF MONTHLY VALUES OF COMPONENTS OF THE HEAT  BALANCE^ (kcal cm-2 month-') 

Heat 
balance 

components Jan. Feb. Mar. Apr. May June July Aug. Sept. Oct. Nov. Dec. 

0.3 0.3 - - - - - - 0.4 - 0.4 0.7 0.9 0.6 0.8 5 6  0.4 - 
0 7  2.8 5.9 7.6 8.3 8.1 6.7 4.1 1.6 - 0.3 

1.5 0.9 0.9 1.3 2.0 

Radiation 0.3 
balance 

Latent-heat 2.2 
flux 

Sensible- 
heat flux 

- - 1.0 

1.9 
11.4 11.0 9.3 7.2 5.2 4.0 3.8 5.6 7.9 9.6 10.9 

1 .o 1.7 
5.0 4.4 3.3 1.9 0.9 0.6 fi a 1.2 2.2 3.2 

- 2.1 - 1.5 - - - - - - - - 1.5 1.7 - 

- 1.3 0.9 0.7 0.4 0.4 0.4 - 0.6 1 .o - - - - 1.6 - - 

2.6 3.1 3.4 - 2.4 2.5 2.4 - - - - - - - 2.2 1.8 2.1 Change 2.1 1.7 in heat 
content 

- - 
-4.6 -2.2 0.4 3.1 6.1 9.1 9.3 73 -2.1 - 7.9 - 9.2 

0.3 
-1.1 
- 

2.3 
11.8 
- 

1.4 
4.6 
- 

2.0 
- 7.5 
- 

a Numerator-anomaly ; denominator-norm. 
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TABLE 18 
AUTOCORRELATION COEFFICIENTS OF THE HEAT CONTENT OF THE OCEAN r, 

AND THE CHANGES IN HEAT CONTENT rlr IN RELATION 
TO THE INTERVAL OF TIME T 

T (months) 

Coefficient 0 1 2 3 4 

rr 1 .oo 0.71 0.28 0.08 0.00 
rll 1 .oo 0.21 -0.38 - 0.20 -0.10 

permit us to calculate the heat content itself, but rather its variations from 
month to month, the autocorrelation between the values of heat content has 
been calculated from data on the autocorrelation of variations in the heat 
content rlr (lower line in Table 18). 

The maps of anomalies of the different components of the heat balance 
of the ocean as well as the calculations that have been done show that the 
anomalies of the changes in heat content, the flux of latent heat, and the 
exchange of sensible heat usually spread over extensive areas. The positive 
correlation between values of the anomalies of these heat-balance terms 
obtains on the average over a radius of 1700 km. Figure 75 shows values 
(averaged for a year) of the coefficients of correlation between the anomalies 
of latent-heat flux that were obtained from different weather ships, in relation 
to the distance between them (p). Similar dependences are also observed for 
the other heat-balance components. 

The interrelations between anomalies of the components of the heat balance 
have a definite interest. Calculations have shown that there exists a relation- 

- 0.50 

0 

- 0 2.5 

0 

- a  

, 
I I 

f 2 3 4 5 
~ -. 

p .  lo3 km 

Fig. 75 Values averaged over the year of the coefficients r ( p )  of correlation between 
the anomalies of the latent-heat flux from the data of different weather ships, in relation 
to the distance p between them. 
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ship between the anomalies of the latent-heat flux and those of the upward 
sensible-heat flux. On the average, this relationship is characterized by a 
correlation coefficient of +0.8. There are also relationships between the 
anomalies of the variations in ocean heat content and those of the latent-heat 
flux, which are inverse. In absolute values, the correlation coefficients are 
small (about -0.2, on the average). This is caused by the fact that the varia- 
tions in heat content are determined not only by conditions of the thermal 
interaction between ocean and atmosphere but also by the heat transport 
by horizontal movements in a deep layer of water. 

I t  must be borne in mind that the values of the correlation coefficients 
indicated above have been obtained from data that might contain certain 
errors. These errors are associated both with the procedure of measuring the 
hydrometeorological elements and with that of calculating the components 
of the heat balance. Therefore, the relations existing in nature should be 
characterized by higher correlation coefficients than those obtained here. 

The data given on the variability of anomalies in components of the heat 
balance in the North Atlantic show that in a number of cases, these anomalies 
possess considerable stability in space and time. This confirms the possi- 
bility of using information on the oceanic heat balance when studying 
nonstationary atmospheric processes of large scale. 

The variability of components of the heat balance for periods shorter than 
a month has so far been little studied. 

Among studies in this direction we must mention the one of T. G. Berliand 
(1968), who collected a large amount of material on the interdiurnal varia- 
bility of solar radiation and the radiation balance at many stations. On the 
basis of these data, maps were constructed of mean values of interdiurnal 
variability of solar radiation (for different months) in the Northern Hemis- 
phere. Berliand pointed out that interdiurnal variability of the radiation 
balance is closely connected with the variability of solar radiation and, on the 
average, has about half its value. 

3. Heat and Water Balances of the Earth 

Heat balance 

The material on geographical distribution of components of the heat 
balance set forth at  the beginning of this chapter permits us to determine the 
components of the heat balance both of the earth as a whole and of its different 
latitudinal zones. 

Such calculations were made earlier by Dines (1917), Alt (1929), Baur and 
Philipps (1934), Lettau (1954), and Houghton (1954). 
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I n  these studies, the terms of the heat balance were calculated either for 
the whole earth or for mean conditions of latitudinal zones. In papers of 
members of the Main Geophysical Observatory (Budyko el a/., 1954; Budyko 
et al., 1962), the components of the heat balance at the earth’s surface were 
determined from maps of heat-balance terms, which permitted specifying the 
mean values of these quantities. 

We shall give here the results of calculation of the components of the earth’s 
heat balance, based on utilization of the world maps in “ATnac -rennosoro 
6 a n a ~ c a  ~ ~ M H O T O  ruapa” (1963). 

On the basis of the material on the spatial distribution of the heat-balance 
components, latitudinal means were calculated, relating to the surface of 
continents, oceans, and the earth as a whole. The results of this calculation 
are presented in Table 19. 

The data in this table show that only one component of the heat balance- 
the radiation budget [surplus]-possesses a similar latitudinal distribution on 
land and ocean. Both on the continents and on the oceans, the maximum 
values of the radiation budget are observed in the tropics, the latitudinal 
means within the limits of the tropical latitudes being almost constant. 

The latitudinal changes in the difference between the values of the radiation 
surplus of land and ocean attract attention. This difference is at its maximum 
in the low latitudes, where it constitutes about one third of the value of the 
ocean radiation budget. With an increase of latitude, the radiation budgets 
of land and oceans draw nearer to one another, and in the latitudes from 50 
to 70°, they become practically the same. One of the causes of this regularity 
lies in the increase in the mean albedo of water surfaces with the increase of 
latitude. 

The latitudinal means of the latent-heat flux from land have their principal 
maximum at the equator, which shifts to decreased evaporation in the lati- 
tudes of the high-pressure belts. With a further increase of latitude in both 
hemispheres, there exists some increase in evaporation (more noticeable in  
the Northern Hemisphere), owing to a rise in precipitation in comparison 
with the arid zones of lower latitudes. With a still further increase of latitude, 
the latent-heat flux diminishes in  association with the insufficient amount of 
heat. 

On oceans, contrary to conditions on the continents, the maximum 
latitudinal means of the latent-heat flux are observed in the belts of high 
pressure. The fact that in latitudes of 50-70”, where the radiation budgets of 
land and ocean are approximately identical, the latent-heat flux from the 
ocean is much greater than it is from land is worthy of attention. This is 
obviously to be explained by the great amount of heat brought in by ocean 
currents and disbursed in evaporation. 

The latitudinal means of the sensible-heat flux from the ocean increase 



TABLE 19 

LATITUDINAL MEANS OF COMPONENTS OF THE HEAT BALANCE AT THE SURFACE OF THE  EARTH^ (kcal cm-2 yr-l)  

Ocean Land Earth 
Latitude 
(degrees) R L E  P FO R L E  P R L E  P FO 

70-60 N 23 33 16 - 26 20 14 6 21 20 9 -8 
60-50 29 39 16 - 26 30 19 1 1  30 28 13 - 1 1  
5 W O  51 53 14 -16 45 24 21 48 38 17 -7 
40-30 83 86 13 - 16 60 23 37 73 59 23 -9 
30-20 113 105 9 - 1  69 20 49 96 73 24 - 1  

g 20-10 119 99 6 14 71 29 42 106 81 15 10 
10-0 115 80 4 31 72 48 24 105 72 9 24 
0-10s 115 84 4 27 72 50 22 105 76 8 21 

10-20 113 104 5 4 73 41 32 1 04 90 I 1  3 
2&30 101 100 7 -6 70 28 42 94 83 15 -4 
3 W O  82 80 9 -7 62 28 34 80 74 12 - 6  
40-50 57 55 9 -7 41 21 20 56 53 9 -6 
50-60 28 31 8 - 1 1  31 20 1 1  28 31 8 - 1 1  

Earth as 82 74 8 0 49 25 24 72 60 12 0 
a whole 

a R is the radiation balance, LE is the latent-heat flux, P is the sensible-heat flux, and Fo is the heat advection in the oceans. 
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regularly with increasing latitude. On land, these values are at  their maximum 
in the high-pressure belts, somewhat reduced near the equator, and fall off 
sharply in high latitudes. The quite different kind of variation in these values 
on land and on the ocean defines the principal differences in the mechanism 
of air-mass transformation at  the surface of continents and of oceans. 

The distribution of the latitudinal means of heat input and outgo in the 
oceans due to the activity of currents shows that ocean currents carry away 
heat principally from the zone between 20" N and 20" S, the maximum of the 
thermal energy carried off by the currents being shifted slightly north of the 
Equator. This heat is transported into higher latitudes and disbursed in 
greatest quantities in the latitudinal zone from 50 to 70" in the Northern 
Hemisphere, where especially powerful warm currents are active. 

The mean latitudinal distribution of the heat-balance components for the 
earth as a whole [land and sea] are characterized in different latitudinal zones 
by regularities typical of the continents or the oceans, depending on the 
relative areas of land and ocean in the different zones. 

Means of the heat-balance components for individual continents and 
oceans are given in Table 20. 

TABLE 20 
HEAT BALANCE OF CONTINENTS AND OCEANS (kcal cm-2 yr-l) 

Continents Continents 
and oceans R LE P and oceans R LE P 

Europe 39 24 15 Australia 70 22 48 
Asia 47 22 25 Atlantic 82 72 8 
Africa 68 26 42 Pacific 86 78 8 
North America 40 23 17 Indian 85 77 7 
South America 70 45 25 

It  is seen from this table that in three continents (Europe, North America, 
South America) among the six, the greater part of the energy in the radiation 
balance is spent for evaporation. The three other continents (Asia, Africa, 
Australia) are characterized by the reverse relationship, which corresponds to 
prevailingly dry climatic conditions. 

Mean heat-balance conditions of the three oceans differ very little. I t  is 
necessary to be aware of the fact that the sum of the fluxes of latent and 
sensible heat for each ocean is found to be close to the value of the radiation 
balance. This means that heat exchange between oceans resulting from the 
activity of ocean currents does not substantially affect the heat balance of 
each ocean as a whole. This result, natural from the physical point of view, 
presumably indicates the higher accuracy of these calculations of the oceanic 
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heat balance in comparison with the earlier one (Budyko, 1956), in which the 
author did not succeed in closing the balance for each ocean separately. At 
the same time, we might suggest that the small excess of the radiation balance 
over the sum of the turbulent heat fluxes from the Atlantic Ocean corre- 
sponds to the real fact that a certain quantity of heat is transferred from the 
Atlantic to the Arctic Ocean. Since the difference lies within the limits of 
accuracy of the calculation, it is evident that this problem needs special 
investigation. 

Table 20 includes no data on the heat balance of Antarctica and the Arctic 
Ocean because, in terms of accuracy, these data are slightly inferior to those 
for the other continents and oceans. 

On the basis of the above data and available evaluations of heat-balance 
components for polar areas, the values of heat-balance components for all 
the continents, the world ocean, and the earth as a whole, have been calcu- 
lated. The results of this calculation are presented in the last line of Table 19. 

It follows from these data that on the oceans, about 90% of the energy 
of the radiation balance is spent for evaporation and only about 10% for 
direct turbulent heating of the atmosphere. On land, these two forms of 
disbursal of the radiative energy are characterized by almost identical values. 
For the whole earth, heat disbursed in evaporation makes up 83% of the 
radiation balance and in sensible-heat exchange, 17%. 

These data may be compared with conclusions from several previous 
investigations in which the components of the heat balance of the earth as 
a whole were determined. 

The results of such a comparison are seen in Table 21. All values presented 
in Table 21 are expressed in relative units in order to exclude any effect of 
differences in the evaluations of the solar constant on the results of the 

TABLE 21 
HEAT BALANCE AT THE SURFACE OF THE EARTH" 

Components of the balance 

Investigation Q(1 -a) Z R LE P 

Dines, 1917 42 14 28 21 7 
Alt, 1929 43 27 16 16 0 

Houghton, 1954 47 14 33 23 10 
Lettau, 1954 51 27 24 20 4 
Budyko, Berliand, and Zubenok, 1954 42 16 26 21 5 
Budyko, Efimova, Zubenok, and Strokina, 1962 43 15 28 23 5 

Baur and Philipps, 1934 43 24 19 23 -4 

a Components of the heat balance are expressed in per cent of the quantity of solar 
radiation incident on the outer boundary of the atmosphere. Zrepresents the net loss of heat 
by exchange of long-wave radiation. 
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calculations. It is apparent that the first calculation of heat balance of the 
earth's surface, made by Dines in 1917 by a very approximate method, led to 
results matching the last calculation well. Since the subsequent studies of Alt 
and also Baur and Philipps gave less accurate results, it might be considered 
that this coincidence is partially explicable by the outstanding physical 
intuition of Dines, and partially by chance. 

The conclusions reached by Houghton and Lettau for most components 
of the balance are close to the results of our last calculation, though some 
heat fluxes (the net long-wave radiation of Lettau, and the sensible-heat 
exchange of Houghton) found in these studies differ markedly from the values 
we have obtained. 

The results of our calculations also agree rather satisfactorily with the 
values of the heat balance of the Northern Hemisphere found in the study by 
London (1957). 

We must dwell in more detail on the conclusions obtained in our calcula- 
tions concerning the mean direction of the turbulent flux of sensible heat 
from the earth's surface to the atmosphere for the whole earth and in lati- 
tudinal zones situated between 70" N and 60" S for both land and oceans. 

Not too long ago, there existed in meteorological literature, including 
textbooks, a viewpoint that the turbulent heat flux, on the average, is directed 
from the atmosphere to the earth's surface. This idea, first suggested by 
Schmidt (1921 and elsewhere), was supported by the results of heat-balance 
calculations made by Baur and Philipps (1935). 

In their calculation of the heat balance of the underlying surface, Baur 
and Philipps determined the sensible-heat exchange, using a method offered 
by Schmidt, at  two points, Batavia and Lindenberg, and then obtained the 
latitudinal distribution of this component by means of interpolation and 
extrapolation from these data. 

In this case, Baur and Philipps did not use any actual data of heat converted 
in evaporation, and calculated its value as a residual component of the 
balance, not considering the redistribution of heat by ocean currents. 

Such a method for calculation of heat balance components gives rise to 
some objections. First, proceeding from contemporary ideas, when deter- 
mining the heat-balance components, one should consider factual material 
on evaporation, since heat conversion in evaporation is one of the most 
important components of the heat balance. 

Secondly, the method offered by Schmidt for determination of turbulent 
heat flux, and based on the idea that this flux is proportional to the vertical 
gradient of potential temperature, cannot be considered correct. In calcula- 
tions of Budyko and Iudin (1946, 1948), it was shown that the turbulent heat 
flux is proportional to the difference between the vertical temperature 
gradient and the equilibrium gradient, approximately equal to 0.6" per 100 m. 



3 HEAT AND WATER BALANCES OF THE EARTH 223 

This difference departs considerably from the value of the potential- 
temperature gradient (data from later investigations on this subject are 
given in the collection ‘‘PaBHoBecHbG r p a w e m  TeMnepaTypbI (Equilibrium 
Gradient of Temperature)” (1967). 

When solving the problem of the direction of the mean sensible-heat flux 
near the level of the earth’s surface, one must take into consideration observa- 
tional material on the temperature of the earth’s surface. The development of 
observations of ocean-surface temperature has shown that over most of the 
equatorial oceans, the surface is warmer than the lower layer of air. Although 
in most cases the corresponding temperature difference is comparatively 
small and amounts to 1-2”, its sign shows, however, that on the greater part 
of the globe occupied by oceans, the sensible-heat flux is directed from the 
earth’s surface into the atmosphere. 

There are fewer corresponding data for the continents, and the quality of 
observations of land-surface temperature is often low. However, proceeding 
from the available observational data, we can deduce that except in cold- 
season conditions in middle and high latitudes, the daily mean temperature 
of the land surface is usually much higher than the temperature of the air, 
and in regions of insufficient moisture, the differences between surface and 
air temperatures may reach very large values. 

Consequently, from the data of observations on the temperature of the 
earth’s surface alone a conclusion can be drawn about the erroneous character 
of the Schmidt concept. A similar conclusion may be drawn also from the 
material of all the calculations of the heat balance at the earth’s surface 
accomplished during the last decades. Thus we now possess three independent 
methods for determining the direction of the flux of sensible heat, related to 
computations of the heat balance, measurements of the difference in tem- 
perature between earth’s surface and air, and measurements of the vertical 
gradient of temperature in the troposphere. All lead to the identical meaning, 
which indicates that the Schmidt paradox is fully explained. 

Utilization of the material contained in the maps of “ATnac TennoBoro 
6 a n a ~ c a  ~ ~ M H O ~ O  ruapa” permits obtaining data on the latitudinal 
means of the heat-balance components of the earth-atmosphere system and 
of the atmosphere. The results of suitable calculations are presented in Tables 
22 and 23. It is seen from the data given in Table 22 that the relationships 
among the heat-balance components of the earth-atmosphere system differ 
noticeably in different latitudinal zones. 

In the equatorial zone, a considerable supply of heat resulting from the 
phase transformations of water (that is, from the difference between the heat 
of condensation and the heat of energy converted for evaporation) L(E - r )  
is added to the great supply of radiational energy R,. These sources of heat 
provide for a large outgo of heat in atmospheric Fa and oceanic Fo advection, 
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TABLE 22 
LATITUDINAL MEANS OF THE COMPONENTS OF THE HEAT 

BALANCE OF THE EARTH-ATMOSPHERE SYSTEM 
(kcal cm-2 yr-l) 

Latitude 
(degrees) R. L(E - r )  Fa FO 

70-60 N - 49 -8 
60-50 - 30 - 15 
50-40 - 12 -9 
40-30 4 13 
30-20 14 31 
20-10 23 11 
1 M  29 - 43 
0-10 s 31 - 14 

10-20 28 16 
20-30 20 32 
30-40 9 19 
40-50 -8 - 8  
50-60 - 29 - 27 

- 33 
-4 

4 
0 

- 16 
2 

48 
24 
9 

-8 
-4  

6 
9 

- 8  
-11 
-7 
-9 
-1 
10 
24 
21 

3 
-4 
-6 
-6  

-11 

TABLE 23 

BALANCE OF THE ATMOSPHERE (kcal cm-2 yr-l) 
LATITUDINAL MEANS OF THE COMPONENTS OF THE HEAT 

Latitude 
(degrees) R. Lr P F. 

70-60 N 
60-50 
50-40 
40-30 
30-20 
20-1 0 
104 

10-20 
20-30 
30-40 
40-50 
50-60 

Earth as 
a whole 

0-10 s 

- 70 28 
- 60 43 
- 60 47 
- 69 46 
- 82 42 
- 83 70 
- 76 115 
- 74 90 
- 76 74 
- 74 51 
- 71 55 
-64 61 
- 57 58 

9 
13 
17 
23 
24 
15 
9 
8 

11 
15 
12 
9 
8 

- 33 
-4 

4 
0 

- 16 
2 

48 
24 
9 

-8 
-4 

6 
9 

- 72 60 12 0 
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for which the comparatively narrow zone near the Equator is an extremely 
important energy source. 

In higher latitudes, approximately up to 40°, with a positive radiation 
balance that diminishes with increasing latitude, a heat outgo for phase 
transformations of water is observed that amounts to considerable values. 
In a large part of this zone, the heat outgo for phase transformations is 
comparable with the value of the radiation surplus. As a result, the redistri- 
bution of heat by air and sea currents is small in comparison. 

Higher than latitude 40" is situated the zone of negative radiation balance, 
which grows in absolute value with the increase in latitude. The radiation 
deficit in this zone is compensated by the income of heat transported by 
air and sea currents. In this situation, the relationship between the balance 
components that compensate the deficiency of radiative energy in different 
latitudinal belts turns out to be different. In the latitudinal zone 40-60", 
the main heat source is the surplus of energy released in the process of water- 
vapor condensation over the heat used for evaporation at  the earth's surface. 
In these latitudes, the income of heat redistributed by ocean currents is also 
of great importance. 

Redistribution of heat in the atmospheric circulation becomes the main 
source of thermal energy in the higher latitudes and especially in the polar 
regions, where the gain of heat from condensation is small and the influence 
of ocean currents is either absent (the south polar zone) or weakened by the 
permanent ice cover (the north polar zone). 

The data from Table 23 show that the latitudinal means of the radiation 
budget of the atmosphere vary less than the other heat-balance components. 
The negative values of the atmospheric radiation budget, which are large in 
absolute value and are observed in all latitudes, are compensated, for the 
most part, by the gain of heat from condensation. 

The supply of heat from the earth's surface as a consequence of the 
sensible-heat exchange plays a lesser role, although its influence on the heat 
balance of the atmosphere is quite noticeable. 

The values of the components of the heat balance of the whole earth are 
presented in diagrammatic form in Fig. 76.  

From the total flux of solar radiation incident on the outer boundary of 
the troposphere and approximately equal to 1000 kcal cm-2 yr-', one 
fourth, on the average, which amounts to about 250 kcal cm-2 yr-l, due to 
the spherical shape of the earth, comes to a unit area of the outer boundary 
of the troposphere. 

Assuming the albedo of the earth to be equal to 0.33, we find that the short- 
wave radiation absorbed by the planet Earth amounts approximately to 
167 kcal cm-2 yr-l. This value is shown in Fig. 76 by the arrow Qs(l - as). 

According to the above data, short-wave radiation equal to 126 kcal cm-2 
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Fig. 76 Heat balance of the earth (components of the heat balance in kcal cm-2 yr-l). 

yr-l  arrives at  the earth’s surface. The mean albedo value of the earth’s 
surface (determined by taking into account the differences in input of solar 
radiation in different regions) equals 0.14. Thus, at the earth’s surface, a 
quantity of solar radiation amounting to  108 kcal cm-2 yr-l  (the arrow 
Q(1 - a) in Fig. 76) is absorbed and 18 kcal cm-2 yr-I  is reflected from the 
earth’s surface. 

The values given show that the atmosphere absorbs 59 kcal cm-2 yr-l, 
considerably less than the earth’s surface. 

Since the radiation balance at  the earth’s surface equals 72 kcal cm-2 yr-l, 
then it is evident that the net long-wave radiation at the level of the earth’s 
surface is, on the average, 36 kcal cm-’ yr-l  (arrow Z). The total value of 
long-wave radiation from the planet Earth, equal to the amount of absorbed 
short-wave radiation, is close to 167 kcal cm-2 yr-l  (arrow I,). 

The fact that the ratio of the net long-wave radiation from the earth’s 
surface to the total emission from the earth (Z/Z,) is considerably less than the 
corresponding ratio of the quantities of absorbed short-wave radiation 
Q(1 - a)/Qs(l  - a,) is worthy of attention. This difference illustrates the 
enormous influence of the “greenhouse” effect on the thermal regime of the 
earth. 

Because of the “greenhouse” effect, the earth’s surface receives about 72 
kcal cm-2 yr- radiative energy (the radiation surplus), which is partially 
spent for evaporation of water (60 kcal cm-2 yr-’ is shown in the form of the 
circle LE), and partially returned to the atmosphere by means of the sensible- 
heat flux (12 kcal cm-2 yr-’, arrow P). As a result, the heat balance of the 
atmosphere is made up as follows: 

1. The gain of heat from absorbed short-wave radiation, which amounts 

2. The gain of heat from condensation of water vapor (shown in Fig. 76 
to  59 kcal cm-2 yr- l ;  

by the circle Lr) ,  amounting to 60 kcal cm-2 yr- l ;  
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3. The gain of heat from sensible-heat exchange at the earth’s surface, 
amounting to 12 kcal cm-2 yr - l ;  

4. The outgo of heat as long-wave radiation into space, which equals 
the difference between the values Z, and I ,  i.e., 131 kcal cmW2 yr-l. 

The final value coincides with the sum of the first three components of the 
heat balance. 

The water balance 

Let us first discuss the problem of the water balance of the continents. 
Total precipitation on land has long been measured at numerous meteoro- 
logical stations and posts. In consequence, the construction of precipitation 
maps for the continents on the basis of observational data is not associated 
with any major difficulty. 

The annual precipitation means for the different continents, determined 
from the precipitation map constructed by Kuznetsova and Sharova (1964), 
are presented in Table 24. This table does not include data of precipitation 
in the Antarctic, which are, however, taken into account when calculating 
the precipitation mean for the total land surface. 

TABLE 24 
PRECIPITATION AND EVAPORATION ON THE CONTINENTS 

Continent Precipitation Evaporation 
(cm yr - I) (cm yr - l) 

Europe 64 39 
Asia 60 31 
North America 66 32 
South America 163 I0 
Africa 69 43 
Australia 41 42 
All the land 13 42 

We must indicate that the instruments used for measuring precipitation 
often underestimate the amount of precipitation received, especially when 
measuring the amount of snow that, due to wind effect, is not completely 
caught in the gauges. 

Systematic errors in precipitation measurements are different for different 
instruments. When drawing the precipitation maps, attempts were made 
toward the correction of the most substantial errors of this kind, but the 
corrections adopted have usually been insufficient. In work of recent years, 
it has been established that in regions with a great amount of solid precipi- 
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tation, the actual sums of precipitation might be several tens of per cent 
greater than the norms adopted earlier. The quantity of liquid precipitation 
is usually measured with smaller systematic errors, though sometimes they 
may amount to appreciable values. Therefore, the sums of precipitation 
presented in Table 24 are somewhat underestimated. 

Because of the absence of mass observations of evaporation, the mean 
evaporation from the continent surface can be determined only by means of 
calculation methods. In Table 24, the evaporation values found with the 
use of the appropriate map from “ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O ~ O  

mapa” are presented. 
As is seen from Table 24, the relationships between evaporation and pre- 

cipitation for single continents differ widely. While evaporation is close to the 
value of precipitation in Australia, evaporation is less than a half of total 
precipitation in South America and North America. 

The difference between the annual sums of precipitation and evaporation 
on the continents is equal to the value of run-off. For many river basins, 
there exist observational data on run-off, though the accuracy of such obser- 
vations is not always high. 

Using observational data and also applying some calculation methods, 
L‘vovich has several times drawn world maps of annual sums of river run-off. 
The latest map of this kind was published in “ ~ . 1 1 3 u ~ o - r e o r p a ~ u r e c ~ ~ ~  
aTnac Mupa (Physico-Geographical Atlas of the World)” (L‘vovich, 1964). 

TABLE 25 
RUN-OFF FROM THE CONTINENTS 

f l  fa 
Continents (cm yr - l) (cm yr - l) 

Europe 29 25 
Asia 29 29 
North America 26 34 
South America 44 93 
Africa 16 26 
Australia 5 5 
All the land 25 31 

In Table 25, the run-off values (fJ for different continents found by use of 
this map are presented. In this table are also presented data of run-off from 
the continents obtained by Zubenok as a result of calculations done for the 
construction of the world map of evaporation for “ATnac TeIIJIOBOrO 
6ana~ca  ~ ~ M H O T O  mapa” (fJ. 

It might be noted that for some continents, the run-off values found by the 
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different methods are quite close (Asia, Australia, Europe). For other con- 
tinents, the difference is greater, reaching its maximum for South America, 
where the run-off values determined by various methods differ by more than 
a factor of 2. 

It  is not easy to estimate which values of run-off in these cases are more 
accurate. The high reliability of L‘vovich’s map for regions where accurate 
data of run-off measurements are available is undoubted. Where there are 
no such data or where their quality is low, the reliability of this map de- 
creases. 

It is probable that a considerable difference between the evaluations of 
run-off for South America, presented in Table 25, can be explained by this 
fact. I t  is known that the total run-off from this continent is, to a considerable 
extent, determined by the run-off of the Amazon, whose vast basin collects 
the greatest amount of water, in comparison with any other river of the 
globe. The earlier estimates of run-off in the Amazon basin yielded a value of 
about 50 cm yr-l, which was taken into consideration in designing L‘vovich’s 
map. The new measurements yield a far greater value, about 100 cm yr-l  
(Oltman, 1968). This value agrees well with the data that can be obtained 
with the use of the evaporation map from “ATnac TennoBoro 6 a n a ~ c a  
~ ~ M H O T O  mapa.” 

We should note that consideration of the new data concerning the value 
of the Amazon’s run-off would not only bring together the evaluations of 
run-off for South America in Table 25, but also reduce considerably the 
difference between the evaluations of run-off from all the land surface, 
presented in this table. 

As is seen from Oltman’s work, correction of the data on the run-off of 
the Amazon increases the run-off for the total land surface by approximately 
lo%, which equals about half of the difference between the two values of 
run-off from the continents presented in Table 25. Presumably, for the 
accurate evaluation of the total run-off from the continents, the obtaining 
of reliable data on run-off in other big rivers of the low latitudes, where the 
amount and quality of observations of run-off is often insufficient, would 
have great importance. 

The water balance of the oceans is less studied than that of land, which to 
a considerable extent can be explained by the difficulty of determining the 
oceanic water balance on the basis of available observational material. 

The water-balance equation of the world ocean for mean annual conditions 
can be presented in the form 

r + f = E ,  (3.1) 

where r is precipitation,f is run-off from the continents into the oceans, and 
E is evaporation. 
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The same equation characterizes the water balance of single oceans or of 
individual oceanic regions, the component f representing, in such cases, the 
sum of river run-off and the horizontal redistribution of ocean water as a 
result of circulation in the hydrosphere. 

The data on precipitation on the oceans, obtained in ship observations, 
describe only frequency of precipitation occurrence and do not contain 
information on precipitation quantities. 

As a result of this, most maps of precipitation on the oceans have been 
designed on the basis of observational material obtained on islands and 
coastal stations. It is clear that from such material, it is difficult to determine 
reliably the value of precipitation for many oceanic regions remote from 
land. Besides, it has often been suggested that the data of observations on 
land near the coast give an appreciable systematic error when evaluating 
precipitation on the oceans, because near the coastline, there frequently 
develop updrafts increasing the amount of precipitation. Therefore, it has 
been suggested that the actual values of precipitation over oceans are less 
than the values obtained from observations at  coastal and island stations. 

World maps of the distribution of precipitation on the oceans have been 
constructed by Meinardus (1934), Schott (1926, 1935), Drozdov and Berlin 
(1953), Albrecht (1960), Kuznetsova and Sharova (1964), and other authors. 
Calculating the components of the ocean water balance with the use of maps 
available at that time, Wust (1936) noticed that the income of water from 
precipitation and run-off considerably exceeds the evaporation from the 
oceans. From this, he concluded that for the above-mentioned reason, the 
actual values of precipitation on the oceans were 30% less than the values 
presented in the maps. Such a viewpoint was later taken into consideration 
in the papers of Jacobs (1951) and Moller (1951), who, in drawing maps of 
precipitation on the oceans, corrected the obtained results by the water 
balance, which substantially diminished the precipitation values. 

Albrecht (1951) used the data of ship observations on the frequency of 
precipitation for determining precipitation on the oceans. With observational 
material obtained on land, he estimated the values of precipitation intensity 
at different latitudes, and then calculated the sums of precipitation on the 
oceans as the product of the intensity means for an appropriate area by the 
frequency of precipitation determined from observational data. Maps of 
precipitation for the Indian and Pacific Oceans were thus constructed for 
several months. 

A similar method was used by Tucker (1961) for the construction of a 
precipitation map for the northern part of the Atlantic, and by Samoilenko 
(1966), who drew annual and monthly maps of precipitation for the Pacific. 

It must be indicated that along with the utilization of observational data 
of precipitation, there exists the possibility of determining total precipitation 
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on the oceans by calculation methods, with the use of empirical or theoretical 
relations that associate precipitation with other meteorological elements. For 
several reasons, the accuracy of such calculations cannot be high, which, 
however, does not exclude the possibility of applying them for comparison 
with the results of observations. 

Mean values of evaporation from the ocean surface are determined by 
means of calculation methods. For this purpose, the following formula is 
generally used : 

where qs is the saturation specific humidity at  the temperature of the evaporat- 
ing surface, q is the specific humidity at  the level of ship observations, and X 
is a coefficient depending mainly on wind speed. 

As was pointed out in Chapter 11, in many works, beginning with the 
studies of Shuleikin (1935), it has been assumed that X = pxu, where p is 
the air density, x is a constant coefficient, and u is the wind speed. 

We can show that the value of evaporation from the ocean surface is 
closely connected with its radiation balance. The value of turbulent heat flux 
directed from the ocean surface into the atmosphere is determined by formula 

E = X(qs  - 41, (3.2) 

P = c,X(Tw - T) ,  (3.3) 

where c, is the heat capacity of the air at  constant pressure, T, is the tem- 
perature of the water surface, and T is the air temperature. 

The heat-balance equation for the world ocean as a whole can be put in 
the form 

R = LE + P, 
where R is the radiation balance, and L is the latent heat of vaporization. 
From Eqs. (3.2-3.4), we find that for mean annual conditions, the heat- 
balance equation relating to the world ocean possesses the form 

(3.4) 

R = LX(q ,  - 4 )  + c,X(TW - T). (3.5) 

It  was pointed out in the previous chapter that the sum of members of the 
right-hand side of this formula, determined for each physical moment of 
time and then averaged, differs little from the products of the mean value of 
the coefficient X by the mean differences in humidity and temperature. 

Taking into account this fact, we obtain from Eqs. (3.2) and (3.5) the 
relation 

(3.6) 

Using observational data, it is possible to find that for the world ocean the 
- _ _ .  

value c,(T, - T)[L(q, - 4)I-l is much less than unity, and approximately 
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equal to 0.1. Taking this into consideration, we find from Eq. (3.6) that 
total evaporation from the world ocean depends little on temperature and 
humidity of the air, is practically independent of wind speed, and is in general 
determined by the value of the radiation balance at  the ocean surface. In this 
situation, the conversion of heat in evaporation makes up about 90% of the 
value of the radiation balance [surplus]. 

In further analysis, it must be borne in mind that for the world ocean, the 
value of river run-off is approximately an order smaller than the two other 
components of the water balance, namely precipitation and evaporation. 
Using data obtained by L‘vovich (1964), we find the water gain from run-off 
into the world ocean to be equal to 10 cm yr-l. According to other data, 
“ATnac TennoBoTo 6 a n a ~ c a  ~ ~ M H O ~ O  ruapa” (1963), this value is equal 
to 13 cm. The difference between the two values is insignificant compared 
with the accuracy of determining the principal components of the water 
balance. 

Thus, the main object in studying the water balance of the ocean involves 
the estimation of precipitation and evaporation, which ought to match each 
other. 

I t  is clear from the above that for this purpose, one can use several inde- 
pendent methods, including : 

1. The determination of precipitation from observational data; 
2. The determination of precipitation by means of calculation methods; 
3. The determination of evaporation by Eq. (3.2), the coefficient of which 

is found without the use of radiation-balance data; 
4. The determination of evaporation with the use of material on the 

radiation balance, the value of which has been found by means of 
calculation methods ; 

5.  The determination of evaporation by means of material on the 
radiation balance, found from observational material. 

Let us consider what kind of results we obtain in determining precipita- 
tion falling on the ocean surface on the basis of observational material. 

The latest world map of the annual sums of precipitation on the oceans, 
constructed by Kuznetsova and Sharova, was published in the “@E13EIKO- 

reorpa@iseceaii aTnac Mapa” (“ Physico-Geographical Atlas of the 
World”) (1964). This map was based principally on observational data of 
total precipitation on coastal and island stations. The value of precipitation 
on the surface of the world ocean per year, according to this map, is 114 cm. 

It  must be made clear how total precipitation on the oceans determined 
with the use of ship observations of precipitation frequency differs from the 
data of this map. The comparison of precipitation maps constructed in such 
a way with maps based on the data of observations on land point to con- 
siderable differences in individual oceanic regions. 
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Taking this into account, one might consider that the utilization of data 
from ship observations permits a more reliable determination of precipita- 
tion sums in regions distant from land, though the accuracy of the material 
obtained in this case is rather difficult to estimate. The methods for deter- 
mining precipitation sums from ship observations are based not only on 
data of precipitation frequency but also of values of intensity, which, on the 
oceans, varies within a wide range. Since the intensity of precipitation on 
the oceans is determined from the data of observations on land, the intensity 
evaluations used in precipitation calculation may be characterized by appreci- 
able random and systematic errors. 

Random errors in determination of precipitation for various regions are, 
to a considerable extent, excluded when determining precipitation values for 
entire oceans or the whole world ocean. Such an inference is confirmed 
when comparing precipitation sums for the world ocean determined by 
various authors. Thus, for example, Albrecht (1960, 1961), using the data of 
ship observations, found annual values of precipitation on the Pacific and 
Indian Oceans. He then slightly altered these values to close the oceanic 
water balance. However, if we compare the values obtained by Albrecht 
immediately from observational data with similar values from the map of 
Kuznetsova and Sharova, we find that the precipitation sums for the Indian 
Ocean calculated by Albrecht are 37, lower and those for the Pacific Ocean 
are 8% higher than the data obtained from the map of Kuznetsova and 
S harova. 

The precipitation means for the northern part of the Atlantic Ocean found 
from Tucker’s map (1961) are 30% less than the corresponding values 
according to Kuznetsova and Sharova. In contrast, the precipitation sum 
for the Pacific Ocean found by Samoilenko (1966) is 10% greater than the 
value obtained from the material of Kuznetsova and Sharova. 

The results of these comparisons show that utilization of data of ship 
observations does not lead to appreciable changes in evaluations of the mean 
totals of precipitation falling on extensive expanses of the ocean. The 
greatest difference between the two types of precipitation maps relates to 
Tucker’s investigation, which describes a comparatively small portion of the 
world ocean. 

It might be considered that utilization of data from ship observations, which 
enables us to specify the spatial distributions of precipitation on oceans, 
does not solve the problem of exclusion of systematic errors in the precipi- 
tation values. 

These errors may be related to two reasons. The first is the difference 
between the intensities of precipitation on land and oceans. It is possible 
that because of the great roughness of the land surface and the great 
intensity of thermal convection above the continents, the intensity of pre- 
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cipitation is, on the average, greater on land than on the oceans. In such a 
case, the available maps give overestimated values of precipitation on the 
oceans. 

The second source of error might be the underestimation of values of 
precipitation measured with existing instruments. For the world ocean this 
error cannot be large, because the relative role of solid precipitation on the 
oceans is small. An approximate evaluation shows that the indicated error 
probably does not exceed 10%. 

It is more difficult to determine the size of the error connected with the 
difference between the intensities of precipitation on land and ocean, which, 
generally speaking, might be more than 10%. 

Application of existing calculation methods to the determination of pre- 
cipitation on the oceans presumably does not permit us to estimate pre- 
cipitation with a greater accuracy than can be obtained from observations. 
For this task, it is difficult, as yet, to use the methods of the general theory of 
climate, though in the latest investigations in this direction, data have been 
obtained on the amount of precipitation falling on the earth’s surface. To 
calculate the sums of precipitation on the oceans, one could use the empirical 
relations between precipitation and other meteorological elements estab- 
lished in the papers of Gal’tsov and other authors. 

Applying the empirical relation of total precipitation to the pressure field 
and humidity that was found by Gal’tsov (1962), Budyko and Strokina (1970) 
calculated precipitation amounts for the northern portion of the Atlantic 
Ocean on the basis of observational data obtained from weather ships. The 
map of precipitation drawn according to this data satisfactorily matches 
that of Kuznetsova and Sharova. 

Such a comparison does not, however, solve the question of correctness 
of this or other maps of precipitation on the oceans, since the relation found 
by Gal’tsov is based on observations of precipitation on land. Using it for 
oceans may be associated with definite systematic errors. 

Thus, for the determination of components of the water balance of the 
world ocean, estimation of the value of evaporation from the ocean has great 
importance. 

For comparison of the results of using various methods for determining 
evaporation from the ocean surface, we shall use the world map of evaporation 
published in “ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  ruapa (Atlas of the Heat 
Balance of the Earth)” (1963). On the basis of data from this map, evapora- 
tion from the world ocean surface per year equals 126 cm. Note that for 
the construction of this map the formula 

E = P X U ( 4 ,  - 4 )  (3.7) 
was used, and the value px, assumed constant (equal to 2.5 x l ov6  g ~ m - ~ ) ,  



3 HEAT AND WATER BALANCES OF THE EARTH 235 

was found by closing the heat balance, that is, from the radiation balance 
of the ocean surface. 

A number of maps of evaporation from the ocean surface have been con- 
structed with the use of Eq. (3.7) or similar formulas, where p x  was considered 
to have a value changing within a limited range. 

Let us consider what results the application of those formulas yields for 
the determination of evaporation, where the coefficient x is given without the 
use of data on the radiation balance. 

This group includes the formulas in which coefficients were found from 
closing the water-balance equation of inland water bodies, from measure- 
ments of the turbulent heat fluxes and humidity, by eddy fluctuations of the 
meteorological elements, and by other methods. 

In the review by Robinson (1966), the results of seven papers of such an 
orientation, written by several authors, are given. Averaging the values of 
px obtained in these papers, we find its mean equal to (1.8 f 0.3) x 
g cm-3. It is evident that mean evaporation from the world ocean calculated 
at  such a value of px will be 28% less than the value obtained from the map 
of “ATJIac TennoBoro XanaHca ~ ~ M H O T O  ruapa.” 

Passing on to the values of p x  determined from the data of the oceanic 
heat balance, we note that as a rule, they yield larger magnitudes of evapora- 
tion. Robinson’s review contains values of px obtained in six investigations 
in which the values of the oceanic radiation balance were determined by 
means of calculation methods. The mean coefficient derived from these data is 
equal to (2.4 f 0.4) x g ~ m - ~ .  This value differs little from that used 
when constructing the maps of evaporation from the oceans in “ATnac 

For determination of the product px from the heat balance, great import- 
ance attaches to the fact that during recent years, various authors have made 
calculations of the radiation balance of the oceans that have given rather 
close results. 

Thus, the values of radiation balance found by Albrecht (1960, 1961) are 
smaller than the data from “ATnac TerrnoBoro 6 a n a ~ c a  ~ ~ M H O T O  ruapa,” 
(1963) for the Atlantic Ocean by 9%, for the Indian and Pacific 
Oceans by 3%, and for the world ocean by 5%. According to Privett (1960), 
the radiation balance of the oceans of the Southern Hemisphere is 8% 
greater than the data from the atlas mentioned. The radiation balance of 
the northern part of the Pacific Ocean found by Wyrtki (1965) is 4% less than 
the atlas data. According to the data of Samoilenko (1966), the value of the 
radiation balance of the Pacific Ocean is 13% less than the values from the 
atlas. The value of the radiation balance of the Indian Ocean (to 5OoS), 
according to the data of Mani et al. (1967), is also 13% less than the atlas 
data. 

THIJIOBOTO 6anaHCa 3eMHOTO IlIapa.” 
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In all the cases of mapping evaporation from the oceans by use of material 
on the radiation balance, data on the oceanic radiation regime obtained by 
means of calculation methods have been used. During recent years, numerous 
direct measurements of radiation balance have been taken by various expedi- 
tions, and on the basis of their data, the means of the radiation balance 
relating to the latitudinal zones of the ocean were determined (Strokina, 
1968). Having compared the value obtained in this way for the oceanic 
radiation balance in the zone from 50” N to 50” S with a similar value from 
“ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  rrrapa,” Strokina found that the 
first value is less than the second one by 1%. In this situation, it is evident 
that calculation of evaporation by estimating the value p x  from measured 
values of the radiation balance gives results that are close to the estimates 
based on calculated values of the radiation balance. 

Turning to the question of possible errors associated with various methods 
of determining evaporation, we note that for the evaluation of evaporation 
from single oceans or from the whole world ocean, systematic errors, which 
are not excluded by averaging, have major importance. 

When calculating evaporation without the use of data on the radiation 
balance, a fundamental error is associated with the difficulty of determining 
the mean of the coefficient x from Eq. (3.7) for the world ocean. The values of 
this coefficient found in current investigations relate either to short time 
periods or to restricted water bodies. For these reasons, they might differ 
from typical values for the world ocean, averaged in time and space. 

At the same time, when using Eq. (3.7) without consideration of the re- 
lation between evaporation and the radiation balance, the value of evapora- 
tion may be substantially affected by systematic errors in measurements of 
the water-surface temperature and several other factors considered in the 
paper of Budyko and Gandin (1966). 

Equation (3.6) shows that the role of errors in temperature measurement 
becomes significantly reduced when determining evaporation from the 
radiation balance. In this case, the accuracy of evaporation values being 
calculated corresponds approximately to that of the data of the oceanic 
radiation balance. As shown by results of many investigations, existing 
calculation methods permit determining the means of the radiation balance 
at  the land surface with errors not exceeding 10%. Although the problem of 
the accuracy of calculation of the oceanic radiation balance is less clear, it 
can be considered that probable errors in such calculations are not very 
large, since the application of various methods for calculating the radiation 
balance leads to similar results. Besides, the available materials on direct 
measurements of the oceanic radiation balance are in good agreement with 
the results of the corresponding calculations (Albrecht, 1949; Strokina, 1967b, 
1968). Worthy of attention is the close dependence between measured and 
calculated values of the oceanic radiation balance in different geographical 
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regions and seasons, found in the papers of Strokina. A very high coefficient 
of correlation, approximately equal to 0.95, between measured and calculated 
values of the radiation balance shows that random and systematic errors of 
measurements and calculations cannot be very great. 

It was mentioned above that the latest maps of precipitation on the oceans, 
constructed by different methods, give rather close values of precipitation for 
individual oceans or for the whole world ocean. Since the means of the radia- 
tion balance for individual oceans and the world ocean determined by 
various authors differ little from one another, the values of evaporation 
from the oceans found on the basis of the radiation balance turn out to be 
close. 

One can compare the available data on total precipitation and evaporation 
for the world ocean. Let us take into account the fact that the annual sum of 
precipitation on the world ocean, according to the data of Kuznetsova and 
Sharova (1964), is 114 cm. The sum of evaporation from the world ocean, 
according to “ ATnac TennoBoro 6 a n a ~ c a  ~ ~ M H O T O  mapa,” amounts to 
126 cm. The difference between these values, corresponding to run-off, turns 
out equal to 12 cm, which lies within the range of the above-stated estimates of 
this value (10-13 cm). Such agreement permits us to suggest that the errors in 
determination of both precipitation and evaporation, according to the 
available maps, are rather small. I t  is possible that in determining precipita- 
tion from observational data, compensation of comparatively small errors 
takes place, associated with underestimation of precipitation by the instru- 
ments used and with different intensities of precipitation on land and oceans. 

Thus, among the above-stated five independent methods for determination 
of components of the ocean water balance, four (observation of precipitation, 
calculation of precipitation, calculation of evaporation on the basis of the 
calculated radiation balance, calculation of evaporation on the basis of 
the measured radiation balance) yield matching results. Calculation of 
evaporation without consideration of data of the radiation balance gives 
smaller values, which are, presumably, less accurate. 

Using the world map of precipitation designed by Kuznetsova and 
Sharova and the world map of evaporation from “ATnac TemoBoro 
6 a n a ~ c a  ~ ~ M H O T O  mapa,” we shall give the values of components of the 
oceanic water balance (Table 26). 

As indicated earlier, the difference between evaporation from the world 
ocean surface and precipitation equals the value of river run-off from the 
continents into the ocean. For individual oceans, this difference equals the 
sum of river run-off and the horizontal water transfer from one ocean to 
another due to circulation processes. It is difficult to determine the value 
of this transfer by means of direct methods, since it represents a small dif- 
ference between two values: the inflow and outflow of water, both of which 
are determined with significant error. It is slightly easier to evaluate water 
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TABLE 26 
WATER BALANCE OF THE OCEANS 

Precipitation Evaporation Run-off 
Ocean (crn yr - l) (crn yr - l) (cm yr - l) 

Atlantic 89 1 24 23 
Pacific 133 132 7 
Indian 117 132 8 

World Ocean 114 126 12 

exchange between oceans as a residual component of the water balance of 
each ocean, though in this case also, the accuracy of determining the 
appropriate values is not high. 

The values of river run-off into each ocean in Table 26 are taken from the 
data of Zubenok (1956), these values being increased by 207, in order to 
bring into agreement total precipitation, evaporation, and run-off relating 
to the whole world ocean. 

Although this table does not include data on the water balance of the 
Arctic Ocean (their accuracy is lower than that for other oceans), these data 
have been taken into consideration in determining the components of the 
water balance for the whole world ocean. 

As seen from this table, the sum of precipitation and run-off for the Atlan- 
tic Ocean is less than evaporation. Hence, it follows that water from other 
oceans, the Arctic Ocean included, where evaporation is noticeably less than 
the sum of precipitation and run-off, comes into the Atlantic Ocean. 

In the Indian Ocean, the sum of precipitation and run-off is slightly less 
than evaporation, while for the Pacific Ocean, the sum of precipitation and 
run-off is greater than evaporation, which corresponds to a transfer of water 
surplus to other oceans. It can be thought that further development of 
meteorological observations on the oceans will permit us in the future to 
make these evaluations of components of the oceanic water balance more 
exact. 

Accepting the above values of precipitation and evaporation for land and 
oceans, we find that for the whole earth, the value of precipitation for the 
year, which is equal to the value of evaporation, amounts to 102cm. We 
must note that this value is appreciably larger than similar values found in 
most earlier investigations (Wust, 1936; Moller, 1951 ; and others). 

Using the maps of precipitation designed by Kuznetsova and Sharova 
and the maps of evaporation from “ATnac TennoBoro 6anaHCa ~ ~ M H O ~ O  
ruapa,” one can determine the components of the water balance of the 
latitudinal zones of the earth. 
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The relation of the water-balance components to latitude is presented in 
Fig. 77. I t  is apparent from this figure that in different latitudinal zones, the 
income of water vapor into the atmosphere from evaporation may be greater 
or less than the outgo as precipitation. In this condition, the source of water 
vapor for the atmosphere is mainly the belts of high pressure, where evapora- 
tion noticeably exceeds precipitation. Removal of this water-vapor surplus 
occurs in a zone near the Equator and also in middle and high latitudes, 
where precipitation is greater than evaporation. 

It is evident that the valuef, which is equal to the difference between 
precipitation and evaporation, is also equal to the difference between the 
income and outgo of water vapor in the atmosphere. 

p, 
I \  

- I \:. 

The large values of component f give an idea of the importance of the 
water-vapor transfer in the atmosphere for the precipitation regime of 
different regions. At the same time, it would be wrong to suggest that the 
effect of water-vapor transfer in the atmosphere on formation of precipitation 
in different latitudinal zones is determined by the value of the component f. 
The problem of interdependence among the principal components of the 
atmospheric water balance, namely, precipitation, evaporation, and horizontal 
transfer of water vapor, is related to the study of water exchange in the 
geographical envelope of the earth. 

Water exchange 

The first investigations of water exchange were aimed at evaluation of the 
effect of horizontal water-vapor transfer on the amount of precipitation 
falling onto land. 
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The authors of these studies (Bruckner, 1901 ; and others) suggested (though 
sometimes with certain reservations) that in each land region, precipitation 
is formed from a quantity of water vapor brought in from outside and not 
exceeding the difference between precipitation and evaporation. 

Since the total amount of precipitation on land is usually much greater 
than this difference, these authors implied the existence of a multiple internal 
water exchange. In other words, they postulated that the water vapor brought 
from outside into a certain region of land falls in this region in the form of 
precipitation, and only then [following evaporation] is it carried away further 
by the atmospheric circulation. 

Another point of view was offered in an investigation on water exchange, 
in which the quantitative theory of this phenomenon was worked out (Kashin 
and Pogosian, 1950; Budyko and Drozdov, 1950; and others). 

We shall set forth here in brief the derivation of the principal equations of 
water exchange [refer to Budyko and Drozdov (1953)l. 

Let us consider the transfer of water vapor in the atmosphere above a 
certain territory whose linear scale equals 1. The flow of water vapor brought 
by air currents into the given territory can be assumed equal to wu, where w 
is the mean water content of the atmosphere on the windward portion of the 
contour of the territory under consideration, and u is the mean speed of the 
air stream transferring water vapor across the territory. Along a stream line, 
the water content of the atmosphere varies in accordance with the difference 
between the water outgo as precipitation and the gain from evaporation. 

I t  is evident that the flux of water vapor carried away from the given 
territory by air currents equals wu - ( r  - E)l,  where r is the total pre- 
cipitation, E is the total evaporation for the time period under examination, 
and 1 is the linear scale of the territory. 

The total flux of water vapor transported above the chosen territory is 
composed of two fluxes-the flux of external (advective) water vapor formed 
by evaporation outside the given territory, and the flux of local water vapor 
formed by local evaporation. 

The initial flow at the windward contour of the region equals wu and at  the 
lee contour (coming out of the territory) wu - r,l, where r, is the sum of 
precipitation formed from the external (advective) water vapor. The second 
flux is equal to zero at  the windward contour, and at  the lee contour (coming 
out from the given territory) is equal to ( E  - rM)/, where rM is the precipita- 
tion falling from water vapor of local origin. 

Thus, on the average, above the territory under consideration, there is the 
flux of external water vapor, equal to wu - +ral, and the flux of local vapor, 
+(E - rM)l, yielding in sum the total flux, wu - +(r - E)l. It must be remem- 
bered that r ,  + rM = r. Since the molecules of water vapor of local and 
external origin are completely mixed in the atmosphere in the process of 
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turbulent exchange, it is evident that the relationship between the sums of 
precipitation formed from the local and external water vapor is equal to that 
between the corresponding quantities of vapor molecules in the atmosphere. 

In  other words, we can consider that 

From this the two following formulas can be derived 

1 
1 + (E1/2wu)’ r ,  = r 

1 
1 + (2wu/El)’ 

rM = r 

(3.9) 

(3.10) 

From Eq. (3.8), we can also determine the value of the water-exchange coeffi- 
cient p, which is equal to the ratio of the total precipitation to the amount of 
precipitation of external (advective) origin : 

r El p = - = 1 + - .  
r a 2wu 

(3.11) 

With the use of the formulas obtained, we can analyze the relationships 
of the water-exchange characteristics with the principal factors affecting 
water exchange. Thus, particularly, it follows from Eq. (3.1 I )  that the water- 
exchange coefficient depends on the factors of water-vapor balance in the 
atmosphere, and does not depend directly on the value of river run-off. We 
also note the dependence of external precipitation, local precipitation, and 
the water-exchange coefficient on the scale of the given territory, from Eqs. 
(3.9-3.1 1) .  With an increase in scale I, the sums of local precipitation and the 
water-exchange coefficient also increase, and the total precipitation formed 
by water vapor of external origin decreases. In  this case, the actual dependence 
of the water-exchange coefficient on scale for not too small territories is not 
linear; with an increase of territory, the effect of curvature of the trajectory 
of the air particles slightly lowers the mean velocity of water-vapor transfer u. 

To estimate the effect of water-vapor transfer in the atmosphere on the 
formation of precipitation, we give here calculations of the water-exchange 
components for the European territory of the USSR (Table 27). 

The material in Table 27 shows that precipitation formed from local water 
vapor makes up a very small fraction of the total amount of precipitation. 
For the whole year, as well as for single months, the water-transfer coefficient 
but little exceeds unity, which indicates the erroneous character of the 
concept about multiple internal water turnover. 

Actually, even on so extensive a territory of land as the European part of 



TABLE 27 

ANNUAL CYCLE OF COMPONENTS OF THE WATER EXCHANGE IN THE EUROPEAN PART OF THE USSR 

Jan. Feb. Mar. Apr. May June July Aug. Sept. Oct. Nov. Dec. Year 

E(mm month-l) 5 5 10 36 50 54 50 39 22 11 7 5 294 
4 4 6 9 15 20 23 22 16 12 8 5 12 
7.7 7.8 7.8 7.2 6.6 6.2 5.8 6.3 6.9 7.5 7.7 7.6 7.1 ii (m sec-l) 

B 1.07 1.08 1.09 1.24 1.22 1.19 1.17 1.12 1.08 1.05 1.05 1.06 1.12 
32 487 r (mm month-l) 27 23 24 28 38 55 63 59 51 49 38 

ra (mm month-l) 25 21 22 23 31 46 54 53 47 47 36 30 435 
rM (mm month-l) 2 2 2 5 7 9 9 6 4 2 2 2 52 

h, 

h, 
P w(mm) 
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the USSR, only a very small portion (about 127,) of the total amount of 
precipitation falls a second time as a result of using vapor from local evap- 
oration. The main portion of the precipitation falling onto a limited terri- 
tory of land is formed from water vapor brought from outside. Even on the 
most extensive continents, where the relative role of local evaporation is 
the greatest, as calculations show, the main portion of precipitation is formed 
from water vapor of external origin, not local. 

4. The Thermal Regime of the Earth 

Possessing material on the heat balance at the earth's surface and of the 
atmosphere, it is possible to explain a number of regularities relating to 'the 
thermal regime of the earth. 

As the data of meteorological observations show, the mean temperature 
of the air near the earth's surface is approximately 15°C. The distribution of 
mean annual temperature by latitude in the Northern Hemisphere is pre- 
sented in Fig. 78 (curve T) .  It  can be seen from this figure that the difference 
between the annual mean temperatures near the Equator and the pole 
exceeds 40". 

20 

10 
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-20 - 
20 40 60 80 
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Fig. 78 Mean latitudinal distribution of temperature. To is the calculated temperature, 
T is the measured temperature. 

Let us see how the atmosphere influences the mean temperature of the 
earth's surface. Without an atmosphere, the mean temperature of the earth's 
surface will be determined by the conditions of radiative equilibrium, that is, 
the long-wave emission from the earth's surface will equal the short-wave 
radiation absorbed. We present this condition in the form of the relation 

1 
6oT4 = - So(1 - 

4 
(3.12) 
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where 8 is the coefficient characterizing the difference between the properties 
of the radiating surface and a black body, u is the Stefan-Boltzmann con- 
stant, T is the surface temperature, So is the solar constant, and a p  is the 
mean albedo of the earth. 

cal cm-a min-l, and So = 1.95 
cal cm-2 min-l, we find from Eq. (3.12) that for a,, = 0.33, the mean tem- 
perature of the earth is equal to 255°K or - 18°C. Thus, at the same albedo 
value, the atmosphere increases the mean temperature of the earth by approxi- 
mately 33”. This rise in temperature is associated with the “greenhouse” 
effect, that is, with the greater transparency of the atmosphere for short-wave 
radiation compared to long-wave. 

It must be noted that such an evaluation has a conditional character: 
without the atmosphere, the planetary albedo could not be equal to the now 
existing value, which was assumed as 0.33. Under contemporary conditions, 
the mean albedo of the earth’s surface is 0.14. I t  might be considered that 
before the atmosphere appeared, the albedo of the earth was less than this 
value and possibly differed little from the albedo of the moon, which 
equals 0.07. At the latter albedo value, the mean temperature of the earth’s 
surface would be equal to approximately 3°C. 

In order to estimate the effect of incoming solar radiation and albedo on 
the mean temperature near the earth’s surface under actual conditions, it is 
necessary to know the dependence of the long-wave emission at the outer 
boundary of the atmosphere on the distribution of temperature. Such a 
dependence can be established in two ways. 

The first way involves building a theoretical model of the vertical distri- 
bution of radiative fluxes, temperature, and humidity. 

The other method of establishing the dependence on temperature of emis- 
sion at the outer boundary of the atmosphere is based on the empirical com- 
parison of data of long-wave emission, obtained as a result of observations 
and calculations, with the factors affecting it. 

Such a method was used in studies (Budyko, 1968, 1969), in which for this 
purpose the results of calculation of the monthly means of the outgoing 
emission, made when preparing the maps for “ATnac TennoBoro 6 a n a ~ c a  
~ ~ M H O T O  ruapa” (1963), were used. 

This material included data on outgoing emission at 260 points, uniformly 
situated on the land and oceans of the world. Since the calculations of out- 
going emission were made for each month, we had in all 3120 values of 
monthly means of outgoing radiation. 

Comparing these data with various elements of the meteorological regime, 
we succeeded in establishing the fact that the monthly means of outgoing 
emission, in general, depend on the temperature of the air near the earth’s 
surface. and on cloudiness. 

Assuming that 8 = 0.95, u = 8.14 x 



4 THE THERMAL REGIME OF THE EARTH 245 

This dependence was expressed in the form of the empirical formula 
Is = u + bT - (a1 + b,T)t~, (3.13) 

where Is is the outgoing emission in kcal cm-2 month-l, Tis  the temperature 
in degrees Celsius, n is the cloudiness in fractions of a unit, and the dimen- 
sional coefficients are a = 14.0, b = 0.14, a, = 3.0, and b, = 0.10. 

The mean deviation of the values of outgoing emission, according to the 
results of calculation with the use of Eq. (3.13) for each month, turned out 
to be rather small-less than 5’7,. This corroborates the conclusion about 
the comparatively small effect of all other factors, the peculiarities of vertical 
temperature distribution included, on outgoing emission. 

It should be indicated that this conclusion was obtained for values of out- 
going emission averaged over long periods of time and relating to geographi- 
cal regions of considerable area. Physical explanation of this conclusion 
implies that the outgoing emission is, in general, formed in the troposphere, 
where deviations of temperature from its mean vertical distribution are usually 
small in comparison with the spatial variation of temperature or its variations 
during the annual march. 

Equation (3.13) can be compared with the results of several theoretical 
investigations, among which the work of Manabe and Wetherald (1967) is 
worthy of special attention. This paper established the dependence of out- 
going emission on temperature and cloudiness in an atmosphere in radiative- 
convective equilibrium. This dependence was presented in the form of a 
graph, whose curves approximately correspond to the formula (with the same 
dimensions of terms as above) 

I, = 14 + 0.14T- 1.6n. (3.14) 

It is apparent that Eqs. (3.13) and (3.14), derived by independent methods, 
coincide for conditions of absence of cloudiness. Consideration of the 
influence of cloudiness in these formulas is different, it being assumed for 
the first formula that the effect of cloudiness on emission varies with the 
variation in temperature and that for extensive cloudiness the effect of 
temperature near the earth’s surface on emission turns out to be relatively 
weak. 

I t  might be considered that such a dependence is better grounded than is 
the separate consideration of the effects of cloudiness and temperature on 
emission in Eq. (3.14). 

To check the formulas relating outgoing long-wave emission with meteoro- 
logical factors, it is necessary to use the condition of equality of outgoing 
emission for the whole globe with the amount of absorbed radiation, 

aP(1 - “SP) = A P Y  (3.15) 

where the values Q,,, asp, and I,, relate to the planet as a whole. 
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Taking into consideration that the mean Qs for the globe is equal to 20.8 
kcal cm-2 month-l, the mean temperature at the level of the earth’s surface 
is 15”, and the mean cloudiness is 0.50, we find that when Eq. (3.13) is used, 
the condition of Eq. (3.15) is fulfilled at  asp = 0.33. Such a value of the 
planetary albedo agrees with the evaluations obtained by means of inde- 
pendent methods in a number of contemporary investigations (refer to 
Chapter 11), which confirms the correctness of Eq. (3.13). 

From Eqs. (3.13) and (3.15), we derive a formula for the mean temperature 
of the earth, 

(3.16) 

This formula is fulfilled within the range of the actual variation in monthly 
mean temperatures at the level of the earth’s surface, its accuracy depending 
on the accuracy of Eq. (3.13). It must be borne in mind that in accordance 
with the structure of Eq. (3.16), the accuracy of the temperature calculation 
at large values of cloudiness (with n approaching unity) decreases noticeably 
in comparison with calculations for conditions of small and moderate 
cloudiness. Although this restricts the possibility of using Eq. (3.16), it 
might still be possible to draw some conclusions from it about the effect of 
cloudiness on the thermal regime of the lower layers of the air. 

For this purpose, it is necessary to take into account the dependence of 
albedo on cloudiness. This dependence has the form 

as = as,n + aso (1 - n), (3.17) 

where as, and as0 represent albedos of the earth-atmosphere system with 
complete cloudiness and cloudless sky, respectively. 

From Eqs. (3.16) and (3.17) follows the formula 

(3.18) 

Assuming, in accordance with the procedure used for the construction of 
maps in “ATnac TennoBoTo 6 a n a ~ c a  3 e ~ ~ o 1 - o  ruapa,” that 

asop = 0 . 6 6 ~ ~  + 0.10, (3.19) 

where a is the albedo of the earth’s surface, we find as the mean for the 
Northern Hemisphere that asop is equal to 0.20. Then, from Eq. (3.17), we 
obtain that at  asp = 0.33 and n = 0.50, the mean asnp = 0.46. 

Taking into consideration the values derived here for asop and asnP, we 
find from Eq. (3.18) that for the mean planetary value Qs, the effect of 
cloudiness on temperature is comparatively small and probably lies within 
the limits of accuracy of the calculations. 
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In individual latitudinal zones of the earth, the thermal regime is substanti- 
ally influenced by horizontal redistribution of heat in the atmosphere and 
the hydrosphere. 

The problem of the quantitative accounting of the effect of the horizontal 
redistribution of heat on the thermal regime of the atmosphere is very compli- 
cated. The results of analyzing this problem in studies of the theory of 
climate have shown that for the correct numerical model of the thermal 
regime, it is necessary to take into account all the forms of horizontal heat 
transfer in the atmosphere and the hydrosphere that are comparable in 
value with absorbed solar radiation. They include transport of heat by mean 
motion and by macroturbulence in the atmosphere and hydrosphere, and 
the redistribution of heat involved in phase transformations of water. Since a 
full accounting of all these forms of heat transfer has not yet been attained 
in existing theoretical schemes, it is difficult to determine the characteristics 
of horizontal redistribution of heat in the geographical envelope of the earth 
by means of the methods of dynamic meteorology. To cope with this question, 
it is phssible to use material on the components of the heat balance of the 
earth-atmosphere system. 

The equation of heat balance of the earth-atmosphere system has the 
form 

(3.20) 

where C equals F, + L(E - r ) ,  the sum of heat income caused by horizontal 
movements in the atmosphere and hydrosphere. 

For mean annual conditions, the term B, , characterizing the accumulation 
or loss of heat for a given time period, equals zero, and the total income of 
heat owing to horizontal motion in the atmosphere and hydrosphere, C, 
equals the value of the radiation balance of the earth-atmosphere system. 
Since the values of this balance can be determined either from observational 
data or by calculation methods, it is evident that simultaneously the values 
of horizontal redistribution of heat can also be found. 

It might be suggested that the values of C are in some way connected with 
the horizontal distribution of mean tropospheric temperature. Taking into 
consideration the fact that deviations of air temperature from the mean 
vertical distributions in the troposphere are small compared to the geographi- 
cal variability of temperature, we may consider that the mean air temperature 
in the troposphere is closely connected with the temperature at the level of 
the earth’s surface. This assumption is completely corroborated when 
comparing the mean monthly temperatures at  the level of the earth’s surface 
and at the height of the 500-mbar surface in different geographical regions 
and different seasons of the year. 

Thus, reasons exist for postulating the existence of a relation between 
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horizontal heat transfer and the distribution of temperature near the earth's 
surface. 

Let us examine the relation between these values for mean annual con- 
ditions of the latitudinal zones of the Northern Hemisphere. For this purpose, 
we will calculate the radiation balance by the formula 

R, 1 Qs( 1 - a,) - I,. (3.21) 

In this case, the albedo for latitudes 0-60" will be determined from Eqs. 
(3.17) and (3.19), and for polar latitudes (where Eq. (3.19) is not sufficiently 
accurate), we will use albedo values obtained from observations made from 
satellites (Raschke et al., 1968). 

It is obvious that meridional heat transfer is carried out in the form of heat 
transfer from warmer regions to colder. We may therefore consider that it 
depends on the value T - Tp , where T, is the mean planetary temperature of 
the lower layer of air. 

To study this dependence, we compare the derived values of R, with the 
corresponding values of T - T,, which is done in Fig. 79. It  is apparent 
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Fig. 79 Dependence of horizontal heat transfer on temperature difference. 

from this graph that there is a distinct relation between the values under 
consideration, which can be presented in the form of the empirical formula 

Qs(1 - 4 - Is = Y(T - Tp17 (3.22) 

where y = 0.235 kcal cm-2 month-' degree-l. 
The existence of such a dependence means that for mean annual conditions, 

the intensity of the meridional exchange in different latitudes does not differ 
very much. 
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From Eqs. (3.13) and (3.22), we find that 

Qs(l - a,) - a + aln + yT, 
y + b - bln 

T =  (3.23) 

With the use of this formula, we can calculate mean annual temperatures 
in different latitudes. The results of such a calculation, depicted as line To,  
were presented in Fig. 78, along with line T, characterizing measured tem- 
peratures. It is apparent that the measured and calculated temperatures 
agree well. 

It must be kept in mind that this agreement was obtained by using a model 
containing only one empirical parameter depending on the distribution of 
temperature-the coefficient y, which is considered independent of latitude. 
Besides, in this model, all the principal components of the heat balance of 
the earth-atmosphere system are taken into consideration. 

We note that a dependence similar to Eq. (3.22) can also be established 
for mean conditions of single months. In this case, for the determination 
of the horizontal redistribution of heat, one must use Eq. (3.20) and take into 
account the values of term B, ,  which basically characterizes the changes in 
heat content of the oceans in the annual cycle. The comparison of the values 
of C with the differences T - T, for single months shows that there is a 
relation between them that is similar to that for the mean annual values, this 
relation being broken only in summer months in low latitudes. 

It becomes clear as a result of analyzing the relations between these values 
that the coefficient y in Eq. (3.22) varies slightly during the annual cycle, 
reaching its maximum in winter and its minimum in summer. This variation 
is probably to be explained by the annual cycle in the intensity of meridional 
circulation in the atmosphere and the hydrosphere. 

From Eqs. (3.16) and (3.23), it is possible to draw some conclusions about 
the effect of climate-forming factors on the mean temperature near the earth's 
surface and on the temperature of the latitudinal zones. 

Variations in solar radiation by 1% change the mean temperature, at  
cloudiness equal to 0.50 and with the existing earth albedo, by approximately 
1.5". This evaluation is almost twice as great as that of the corresponding 
effect without the atmosphere. Thus, the radiative properties of the atmos- 
phere considerably intensify the effect of variations in radiation on the thermal 
regime of the earth's surface. 

A change in albedo by 0.01 changes the mean temperature by 2.3". Con- 
sequently, the thermal regime depends substantially on variations in albedo, 
if this variation is not caused by conditions of cloudiness. As indicated above, 
the effect of cloudiness on the thermal regime, associated with albedo varia- 
tions, is, to a considerable extent, compensated by corresponding variations 
in outgoing long-wave emission. 
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The influence of changes in radiation and albedo in individual zones of 
latitude on the temperature, under constant mean planetary conditions, is 
much less significant. In this case, for middle latitudes, a change in radiation 
of 1% changes the temperature by 0.5", and a change in albedo of 0.01 
changes it by 0.6". Circulation in the atmosphere and hydrosphere significantly 
decreases the effect of local changes in climate-forming factors on the thermal 
regime. 

The material set forth in this section points to the possibility of explaining 
a number of regularities in the thermal regime of the earth by the method of 
analyzing its heat balance. Another way of investigating these regularities is 
associated with development of a general theory of climate, which makes it 
possible to establish the dependence of the temperature field directly on the 
climate-forming factors. It is worth mention that in many contemporary 
works on the theory of climate, data on the heat balance are widely used. 
The first use of material on the heat balance was in calculating the distri- 
bution of temperature in the atmosphere in work of Rakipova (1957; and 
elsewhere). Later, the world maps of heat-balance components prepared by 
the members of the Main Geophysical Observatory were used in the papers 
of Malkus (1962), Adem (1964; and elsewhere), and other authors investi- 
gating different individual problems of the theory of climate. The materials 
on the heat balance were widely applied in studies of Smagorinsky and 
Manabe and their collaborators, the object of which was to work out a 
planetary theory of climate (Manabe et al., 1965; Manabe and Byran, 1969; 
and others). 

It was demonstrated in the works of these authors that the methods of 
theoretical meteorology permit calculation of the mean latitudinal distri- 
butions of the principal components of the heat and water balances of the 
earth's surface and atmosphere that are close to the distributions found from 
the material of climatological investigations. 

The latest paper of this group of authors (Holloway and Manabe, 1971) 
is particularly interesting because it presents the first world maps of the 
components of the heat and water balance constructed by means of theoretical 
methods. These maps turned out similar to those presented in this chapter, 
constructed by empirical methods. 

This result is indicative of great progress in the contemporary theory of 
climate. It represents one more example of the high reliability of the material 
obtained in the empirical investigations of the heat and moisture balance, 
and points to the possibility of a significant convergence of the methods of 
theoretical meteorology and climatology in studying the transformations of 
energy in the geographical envelope of the earth. 
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Polar Ice and Climate 

1. Polar Ice as a Factor of Climate 

Polar ice 

In the contemporary epoch, ice surrounds both poles of the globe. In the 
Northern Hemisphere, permanent ice cover takes up more than two thirds 
of the surface of the Arctic Ocean, and also covers Greenland and several 
other islands and continental regions in  high latitudes. Its total area in the 
Arctic is about 12 million km2, sea ice occupying approximately 10 million 
km2 and land ice 2 million km2. 

Polar sea ice is an enormous lens, in the center of which mean ice thickness 
reaches 3-4 m, decreasing towards its periphery. As this ice consists of a great 
many individual ice fields, it is constantly moving under the action of air and 
sea currents, which leads to fluctuations in the boundaries of the ice cover. 

In moving ice, contraction of the ice fields often occurs, which results in 
formation of hummocks-a conglomeration of ice, the thickness of which 
far exceeds the mean thickness of ice cover. But hummocks amount to a 
comparatively small part of the total area of the Arctic sea ice. 

In summer months, the ice thickness diminishes as a result of thawing, 
which occurs mainly at  the upper surface of the ice. In the cold season, ice 
becomes thicker as a result of freezing of sea water at the lower surface of 
the ice. Seasonal variation in thickness of sea ice accompanies the variation 
in the total area of ice cover, which reaches its maximum in March and its 
minimum in August. Figure 80 presents the mean boundaries of sea ice in 
these months (Ice Atlas of the Northern Hemisphere, 1946). 
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Fig. 80 Present location of the polar ice boundary in the Northern Hemisphere. l-March, 2-August. 
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Paleoclimatic studies have shown that in the past the sea-ice cover has 
varied significantly. During the Quaternary period (that is, for the last 
million years), ice cover on the seas repeatedly spread to middle latitudes, in 
correspondence to the periods of development of large-scale continental 
glaciations. The hypothetical boundary of permanent sea ice and also the 
boundary of glaciation on land at  the period of the greatest (Riss) glaciation, 
according to the data of Markov (1960), are presented in Fig. 81. In the 
intervals between the glacial epochs, the sea-ice cover receded towards the 
north, and during the warmest interglacial epochs, it possibly disappeared 
completely. 

In pre-Quaternary time, there was a warm climate during several hundred 
million years, and no ice cover existed in high latitudes. 

As is known from paleogeographical data and historical sources, the 
position of the ice cover in the Arctic during the last millennia has also been 
subject to noticeable variations. During the periods of warming, the sea ice 

Fig. 81 Ice-cover boundary in the period of the greatest glaciation. 
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receded far to the north and the glaciated area on land shrank significantly. 
The last period of such a warming was observed about a thousand years ago, 
when the Norsemen reached Greenland by ice-free seas and established 
colonies there on territories that had been freed of ice by the receding glaciers. 
Several centuries later, a new fall in temperature broke the connection of 
these colonies with Scandinavia, which, together with the advances of the 
glaciers on land, led to the end of the colonies. 

The problem of the interrelation of the regime of polar ice and climatic 
conditions in the Arctic is very important. Solution of this problem is 
necessary for working out a general theory of climate. 

At the same time, determination of the relations between climatic condi- 
tions and the regime of polar ice is necessary for developing methods for 
predicting changes in ice cover. They are taken into account in providing polar 
navigation with meteorological probabilities, and in other descriptive works 
on the Arctic. 

Data on the thermal regime of the Central Arctic in the contemporary 
epoch are presented in Fig. 82, where curve T,, is the annual march of air 

'0 t 

Months of the year 

Fig. 82 Thermal regime in the Central Arctic and at the Equator. 

temperature at 80" N latitude. For comparison, the annual march of the 
mean latitudinal air temperature at the Equator is also given (curve To). 
As is seen in Fig. 82, the air temperature near the earth's surface in the 
Central Arctic is lower than the air temperature near the Equator by 27" in 
summer and 55" in winter. The mean annual temperature at 80" N latitude 
is lower than the temperature near the Equator by 42". 

It is obvious that the low temperatures of the air in the polar zone are the 
main cause of the formation of polar ice. Less clear is the question of the 
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extent to which polar ice influences the thermal regime in high latitudes, 
furthering the fall in  temperature in these latitudes. 

The idea that the ice cover is a substantial factor influencing the thermal 
regime was set forth in the works of Brooks (Brooks, 1950; and elsewhere). 
He pointed out that the high albedo of ice cover significantly diminishes the 
absorption of solar radiation at a surface covered by snow and ice. There- 
fore, he believed that the ice cover in the high latitudes lowers the Arctic 
temperature by several tens of degrees. 

This suggestion, however, was not substantiated in Brooks' works by 
calculations based on the methods of physical climatology, which were but 
little developed at the time when Brooks was carrying out his research. For 
this reason, Brooks' views on the genesis of the climate of the Arctic were not 
generally accepted, and until recently, the influence of polar ice on the 
climate of high latitudes was not taken into consideration in works on the 
theory of climate. 

The importance of ice cover as a factor in the formation of climate can be 
established on the basis of the following simple considerations (Budyko, 
1969). 

Let us consider the heat balance of the earth-atmosphere system (that is, 
the heat balance of a vertical column embracing the atmosphere, the hydros- 
phere, and the upper layers of the lithosphere). The income of heat to this 
system occurs in the form of absorbed solar radiation, to which is added the 
income of heat owing to the change of heat content of matter contained in 
the column and the income of heat as a result of horizontal motion in the 
atmosphere and hydrosphere. The algebraic sum of these components of the 
heat balance equals the value of long-wave radiation into space. 

Assuming a solar constant equal to 1.92 cal cm-z min-',* we find that in 
June at  80" N latitude 31.0 kcal cm-2 month-l, and at  the Equator 23.5 kcal 
cm-2 month-l reach the upper boundary of the denser layers of the atmos- 
phere. 

At the Equator as well as in the Central Arctic, changes in the heat content 
of the earth-atmosphere system in June are small in comparison with the 
income of solar radiation. The cause of this is the fact that this component 
of the heat balance reaches appreciable values only with substantial changes 
in ocean temperature in the annual cycle. Meanwhile, the temperature of 
ocean water changes little, either near the Equator (because of the lack of 
significant annual variation in the mean altitude of the sun) or in the central 
region of the Arctic Ocean (because of the isolating influence of sea ice on the 
heat exchange of ocean with atmosphere). 

* This is the conditional solar constant, which corresponds to the flux of short-wave 
radiation on the outer boundary of the troposphere. 
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Taking this conclusion into account and considering the fact that the 
horizontal flux of heat in the atmosphere and hydrosphere is directed from 
Equator to pole, we can easily see that with the albedo in all latitudes being 
the same, the long-wave radiation to space at  80" N latitude in June must be 
much greater than it is near the Equator. It has been found in modern investi- 
gations (see Chapter 111, Section 4) that radiation emission into space, which 
is closely connected with the mean temperature near the earth's surface, 
increases with the rise of this temperature. 

Thus, if the albedo of the earth-atmosphere system is the same at  the 
Equator and in high latitudes, the air temperature near the earth's surface 
in June in high latitudes must be higher than the temperature near the 
Equator, which in reality is not observed. 

The only explanation of this paradox lies in a significant difference in the 
albedo of the earth-atmosphere system with and without ice cover. Such a 
difference was defined with the help of material from direct experimental 
observations in the works of Raschke et al. (1968) and other authors, who 
constructed maps of albedo according to data of measurements taken from 
satellites. 

As is seen from the data in the paper mentioned, the mean value of albedo 
at 80" N latitude turns out to be 0.62, while the mean albedo for regions free 
of ice equals only 0.30. Taking these albedo values into account, we find that 
in June, the absorbed radiation at  the Equator amounts to 16.4 kcal cm-2 
monthw1, and at  80" N latitude 11.8 kcal cm-2 month-l. 

Thus, the air temperature at  the Equator in summer is higher than it is 
at  the pole because the albedo of the earth-atmosphere system in the Central 
Arctic is much greater than it is in the lower latitudes. 

One might ask the question: How would the thermal regime of the Arctic 
change without polar ice, if the albedo in high latitudes did not differ much 
from that of low latitudes? It  should be pointed out that the thermal regime 
of the Arctic in this case ought to depend not only on the quantity of radiation 
absorbed, which is determined by the new value of albedo, but also on other 
factors connected with the disappearance of the ice cover. 

In particular, the meridional heat exchange in the atmosphere and hydros- 
phere could change significantly under those conditions. The water tempera- 
ture in the Arctic Ocean with an ice-free regime would change noticeably 
during the annual cycle, which would lead to a substantial redistribution of 
heat in the earth-atmosphere system during the course of the year. 

I t  is evident that for answering the question posed, we need to determine 
the components of the Arctic heat balance with and without ice, and to 
estimate the effect of changes in these components on the thermal regime. 
In this way, the importance of the ice cover as a factor in the genesis of the 
Arctic climate can be explained. 
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Study of the thermal balance of the Arctic permits us also to solve the 
reverse problem, that is, to investigate the dependence of parameters of the 
ice cover on climatic factors. 

The working out of these problems makes it possible to answer the question 
about the stability of the existing polar ice and the climatic regime associated 
with it. 

The heat balance of the Arctic 

The problem of studying the heat balance of the Arctic includes investi- 
gation of the heat balance at the earth’s surface and of the heat balance of 
the atmosphere, or the earth-atmosphere system, embracing the atmosphere, 
the hydrosphere, and the upper layers of the lithosphere. 

In the first section of Chapter I11 is given material characterizing the 
radiation regime of the northern polar zone. Determination of all the com- 
ponents of the heat balance for Arctic conditions involves considerable 
difficulties, which have been overcome only in recent years. As a result of 
the observations made at the drifting stations, “CesepHbIii IIonmc,” the 
investigation of the Arctic heat balance has accelerated, a large contribution 
to this work being made by the staff of the Arctic and Antarctic Institute 
(Leningrad). 

Accumulation of observational material relating to the radiation and heat 
balances permitted the determination of the norms of the components of 
these balances in a number of Arctic regions. These norms were found by 
means of direct generalization of the observational data, as well as by calcu- 
lations made by formulas that permitted determination of the balance 
components from observations of the basic meteorological elements. Such 
calculations became possible after testing these formulas for Arctic conditions 
by observational data on the components of the heat balance and, in neces- 
sary cases, making their coefficients more precise. 

One of the first studies of the heat balance of the Arctic was carried out by 
Iakovlev (1958). The results of further calculations relating to the heat 
balance of the earth’s surface and the atmosphere in the Arctic are presented 
in works of Doronin (1963), Nazintsev (1964), Fletcher (1965, 1966), Unter- 
steiner (1966), Badgley (1966), Vowinkel and Orvig (1964, 1966, and else- 
where), and others. Such calculations were also made in works of the author 
(Budyko, 1961, 1962, 1966) dedicated to the genesis of Arctic climate. 

I t  might be noted that in the above-mentioned papers, all the basic com- 
ponents of the heat balance for the different Arctic regions were determined. 
Although quantitative values of the components of the balance determined 
by individual authors are a little different, they are in good agreement with 
respect to general regularities. 
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Let us consider the material on the heat balance of the Central Arctic, 
which correspond to the mean conditions for the 80" parallel. 

In Fig. 83 are given values of the elements of the radiation regime at  the 
ice surface in this region in the different months of the year. Curve Q defines 
the variation of incoming short-wave radiation, Q(1 - a) absorbed radiation, 
and R the radiation balance. This figure shows that in the summer months, 
a considerable amount of solar radiation reaches the ice surface, which is 
explained by the long duration of the polar day and also by downward 
scattering of a fraction of the radiation reflected from the ice and snow sur- 
faces. 
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Fig. 83 Radiation regime in the Central Arctic. 

The amount of absorbed radiation Q( 1 - a) depends on the albedo value 
a, which was determined for Arctic conditions at  the drifting polar stations 
as well as by measurements from aircraft (Koptev, 1964; Marshunova and 
Chernigovskii, 1965, 1968 ; and elsewhere). 

According to the available observational data, we may consider the 
albedo of the Central Arctic in spring and autumn to be about 0.80; in 
summer, it decreases to 0.70 in the period of most active melting. Such 
albedos of the earth's surface, which far exceed albedos in the absence of 
ice and snow, diminish absorbed radiation to a small fraction of the incoming 
short-wave radiation. 

The radiation balance R, equal to the difference between the absorbed 
short-wave radiation and the net long-wave emission, has a small positive 
value in summer months. At this time, it is noticeably less than the radiation 
balance observed in lower latitudes, where ice cover is absent. 

In  winter, with solar radiation absent, the radiation balance is determined 
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by the value of the net long-wave radiation and is negative. The annual sum 
of the radiation balance turns out to be equal to a small negative value.* 

This result confirms the earlier conclusion (Budyko, 1956) that the radiation 
regime of polar regions with permanent ice cover differs radically from that 
of polar regions without ice cover. One of the chief peculiarities of this 
regime is that the annual sums of the radiation balance are small in absolute 
magnitude and often negative, as opposed to comparatively large positive 
values in all other regions of the globe. 

In this connection, it should be borne in mind that even if relative accuracy 
of determining certain heat-balance components is low, the absolute errors 
in estimating components of the balance cannot amount to any great value, 
because all these components are small in comparison with the main com- 
ponents of the heat balance at  the earth’s yrface in other geographical 
regions, and also in comparison with the heat balance of the atmosphere in 
the Arctic. 

Difficulties that arise in estimating the heat balance at the surface of the 
central regions of the Arctic Ocean are to some extent connected with the 
fact that this surface is not homogeneous. Part of it is occupied by ice of 
different thicknesses, and part by leads, in which the ocean water remains 
open. As we have no accurate data, there are very different estimates of the 
area occupied by leads. Thus, in Hare’s review (Hare, 1968), it is noted that 
this area is considered by different authors to be from 2 to 12%. Using calcu- 
lations of the ocean heat balance, Badgley (1966) and Untersteiner (1966) 
deduced that the area of leads in winter must be less than 1 %. 

The importance of the problem concerning the area of leads lies in the 
fact that in the cold season, the ocean loses much heat from their surface. 
Calculations of the heat exchange in the leads, performed by Doronin (1963) 
and Badgley (1966), show that at  their surface, the loss of heat per year as a 
result of turbulent sensible-heat exchange and evaporation can exceed 100 
and even 200 kcal cm-z. I t  is necessary to add the outgo of radiative energy 
to this value because the large net long-wave emission from the surface of the 
leads is not compensated by increased quantities of absorbed short-wave 
radiation resulting from low values of water albedo. 

Taking into consideration the fact that the ocean rapidly loses heat in the 
leads, it is possible, however, to consider that their importance for the heat 
exchange of the Central Arctic as a whole is rather limited. This conclusion 

* Such an estimate is probably more accurate than that of Gavrilova (1963) (Chapter I11 
of this book), who found the radiation balance of the Central Arctic equal to a small 
positive value. (The cause of this discrepancy is the smallness of the absolute value of the 
annual radiation balance in the Arctic in comparison with the sum of the absolute 
values of its monthly values.) 
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follows from estimates of the heat balance components of the whole Arctic 
Ocean zone occupied by permanent ice. 

The quantity of heat brought to this zone by currents is relatively small. 
Thus, according to the data of Leonov (1947), for example, it equals approxi- 
mately 2.2 kcal cm-2 yr- l ;  Badgley (1966) considers it to be 1.6 kcal cm-2 
yr-'. To this value, one should add the latent heat of fusion of ice taken 
out of the Arctic every year by currents. Antonov (1968) points out that the 
quantity of this ice is estimated by different authors to be from 900 to 3000 
km3 yr-l, the most probable value being close to 1900 km3 yr-l. The latter 
value corresponds to an additional income of heat to the Central Arctic 
equal to 1.6 kcal cm2 yr-l. 

Thus, as a result of the oceanic circulation, the Central Arctic receives 3-4 
kcal cm-2 yr-'. Almost all of..this value is off-set by the negative value of the 
radiation balance at  the surface of the ice. 

As a result, the sum of the rest of the components of the oceanic heat 
balance, including the turbulent sensible-heat flux and the conversion of 
heat for evaporation, should equal a value of approximately 0-1 kcal cm-2 
yr-l. This value can be compared with a similar value for ice fields. 

According to Doronin's data (1963), the annual sum of the heat converted 
in evaporation of the ice fields amounts to 3.2 kcal cm-2 yr-l, and the income 
of heat owing to the exchange of sensible heat to approximately 2.7 kcal 
cm-2 yr-l. 

The difference between these values, amounting to 0.5 kcal cm-2 yr-', is 
close to the estimate given above for the heat income for the Central Arctic 
as a whole. Thus, it turns out that the heat exchange at the surface of the 
leads does not play a great role in the heat balance of the central regions of 
the Arctic Ocean. It follows that in the cold season, the leads take up a very 
small part of the total area of the Central Arctic. 

The annual march of the components of the heat balance of an ice field is 
given in Fig. 84. This figure presents, along with values of the radiation 
balance R, values of the sensible-heat flux P and the latent-heat flux LE, 
the last values being presented according to the data of Doronin given above. 

The values of the radiation balance portrayed in this figure are considered 
positive when they express an income of heat, and the values of the sensible 
and latent heat fluxes are considered positive when they express an outgo 
from the surface of the ice. 

The sum of the annual values of the heat-exchange components shown is 
equal to the outgo of heat, which is compensated by the inflow of heat 
through the lower boundary of the ice, equal to the income of heat resulting 
from ocean-current activity (without taking into account removal of ice). 
Although the value of heat outgo at the surface of the ice fields determined 
on the basis of heat-balance calculations agrees with the above-mentioned 
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Fig. 84 Heat balance of the surface of an ice field. 

estimates of heat transfer accomplished by currents, one should not over- 
estimate the importance of such an agreement. We may consider that the 
relative error of determining all the components of the heat balance is rather 
large and probably comparable with the outgo of heat through leads, which 
cannot be equal to zero. 

Let us proceed now to the problem of the heat balance of the earth- 
atmosphere system in the Central Arctic. 

The values of the components of the radiation balance of this system are 
presented in Fig. 85, where line Qs depicts the annual march of radiation 

M o n t h s  of the year 

Fig. 85 Radiation balance of the earth-atmosphere system in the Central Arctic. 



212 IV POLAR ICE AND CLIMATE 

incident on the external boundary of the atmosphere at  a solar constant 
equal to 1.92 cal cm-2 min-l. The line Qs(l - a,) represents the absorbed 
radiation, which has been calculated with albedo a, = 0.62 in accordance 
with the mean value obtained by satellite [refer to Raschke et al. (1968)l. 

The value of the radiation balance of the system R, is determined by the 
formula 

R, = Q S U  - 4 - I s ,  (4.1) 

where I, is the long-wave radiation emitted to space, which is calculated by 
the formula (refer to Chapter 111, Section 4) 

I,  = a + bT - (al + blT)n, 

where T is the temperature at  the earth’s surface in degrees Celsius, n is the 
cloudiness in fractions of a unit, and a, b, a,, and b, are empirical coefficients. 

As seen from Fig. 85, the radiation balance of the earth-atmosphere system 
in the Arctic is negative during the whole year, including summer months, 
when the income of radiation to the external limit of the atmosphere is 
rather large. This is explained by the high albedo of the earth-atmosphere 
system in regions with a permanent ice cover. The annual value of the radia- 
tion balance, which equals -80.9 kcal cm-2, is compensated by the inflow 
of heat from lower latitudes through horizontal heat transfer in the hydro- 
sphere and atmosphere, including the redistribution of the latent heat of 
vaporization. 

The above estimate shows that heat transfer owing to marine currents 
makes up a negligible part of the value of the radiation balance. The heat 
of condensation exceeds the expenditure of heat for evaporation in the 
Central Arctic by an amount that is also comparatively small, not more 
than a few kilocalories per square centimeter per year. 

Thus, the negative radiation balance of the earth-atmosphere system in the 
Arctic is basically compensated by meridional [sensible] heat transfer in the 
atmosphere, which is especially essential in the winter months. 

On the basis of the data given above, we can draw some conclusions 
concerning regularities of the energy balance of the Central Arctic. 

Because of the high albedo of polar ice, the radiation balance of the earth- 
atmosphere system even in summer does not reach positive values, and in 
this season a certain quantity of heat is spent in warming and melting ice. 
In this situation, the expenditure of heat energy is compensated by the 
advective income of [sensible] heat from lower latitudes, where summer air 
temperatures are markedly higher than these in the Central Arctic. 

In wintertime, without any income of solar heat, the outgo of energy by 
emission to space is only to a small extent compensated by an income of heat 
resulting from the cooling of the ice cover and the accretion of new ice onto 
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it. As noted above, this outgo is in general covered by the large influx of 
heat from lower latitudes due to the atmospheric circulation. 

Thus, over the course of the entire year, and especially in the winter months, 
the thermal regime of the Arctic essentially depends on the transport of heat 
from extrapolar latitudes. 

2. Interrelation of Climatic Factors and Ice Cover 

The in#uence of climatic conditions on ice cover 

The formation and destruction of ice on the ocean surface is closely con- 
nected with the conditions of the thermal energy balance. 

Ice cover appears when, as a result of cooling, the temperature of the 
upper layer of water reaches the freezing point. For mean conditions of 
salinity of ocean water, this temperature is - 1.8". 

Increase in the thickness of ice occurs when the temperature of its upper 
surface comes to be lower than that of water at the lower boundary of the 
ice cover. Under these conditions, freezing occurs on the lower boundary of 
the ice, the rate of which is determined by the heat balance at  this surface. 
If the income of heat from the ocean to the lower surface of the ice is small, 
then the rate of freezing equals the value of the heat flux from the lower ice 
surface to its upper surface divided by the latent heat of fusion. 

The value of the vertical heat flux in the ice depends on the difference 
between temperatures on its upper and lower surfaces, on its heat conduc- 
tivity, and on its thickness (together with the snow cover on it). 

The temperature at  the surface of the ice (or at  the surface of snow, if it is 
present) depends on conditions of the heat balance. At comparatively small 
values of the vertical heat flux between ice and atmosphere, this temperature 
is usually close to the temperature of the lower layer of air. As the temperature 
of the lower surface of the ice is usually constant, and the thermal conductivity 
of ice varies comparatively little, the rate of freezing in general turns out to 
depend on air temperature and ice thickness. In these circumstances, rate of 
freezing increases with a fall in air temperature and decreases with a growth 
in ice thickness. 

The dependence of the thickness of ice cover on the factors mentioned 
was established nearly a century ago by Weinprecht on the basis of observa- 
tions made in the Arctic. This problem was then theoretically investigated 
by Stefan, who used the equation of heat conduction in solids for this 
purpose. Stefan ascertained that at  a constant difference between the tem- 
peratures at the upper and lower surfaces of ice, the ice thickness is pro- 
portional to the square root of the product of the difference mentioned and 
the length of time of ice accretion. Later, for calculation of the rates of 
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freezing, various empirical formulas were offered. They permitted a more 
accurate determination of ice thickness than the schematic solution of Stefan. 

One such formula, suggested by Zubov (1945), was used for constructing 
tables that established the relationship between the value of ice accretion and 
its initial thickness and the mean daily temperature of the air (Table 28). 

Zubov pointed out that the value of ice accretion is influenced not only by 
air temperature but also by circulation conditions in the ocean. An additional 
heat flux to the lower surface of the ice, associated with horizontal heat 
transport from low latitudes to high, can substantially retard ice accretion. 

TABLE 28 
ICE GROWTH (cm day- l) 

Initial 
thickness 

(cm) 

0 
10 
20 
30 
40 
50 
75 

100 
150 
200 

~~ 

Temperature 
(degrees) 

- 5  -10 -15 -20 -25 -30 -35 -40 

0.8 1.6 2.4 3.2 3.8 4.7 5.5 6.3 
0.6 1.1 1.7 2.3 2.9 3.4 4.0 4.6 
0.4 0.9 1.3 1.8 2.2 2.6 3.1 3.5 
0.4 0.7 1.1 1.5 1.8 2.2 2.6 3.0 
0.3 0.6 0.9 1.2 1.5 1.8 2.1 2.4 
0.3 0.5 0.8 1 .1  1.3 1.6 1.9 2.1 
0.2 0.4 0.6 0.8 1.2 1.4 1.6 1.8 
0.2 0.3 0.5 0.6 0.8 1.0 1.1 1 .o 
0.1 0.2 0.3 0.5 0.6 0.7 0.8 0.9 
0.1 0.2 0.3 0.4 0.4 0.5 0.6 0.7 

The rate of accretion depends also on the thickness of snow cover on the 
ice surface, because the low heat conductivity of snow decreases the heat flux 
between the lower surface of the ice and the atmosphere. 

Empirical formulas for calculating the freezing rate usually take into 
account only the mean effect of the factors mentioned, which limits their 
accuracy. 

In the mass balance of polar sea ice, an increase of the mass of water in the 
solid phase is determined by the freezing process and, to a lesser extent, by 
the fall of solid precipitation. In this balance, the outgo of mass depends on 
the melting process, on evaporation from the ice surface, and on the outflow 
of ice into lower latitudes. 

Melting of ice generally occurs on its surface, when the temperature of 
this surface reaches the freezing point. Because the salinity of the upper 
layers of ice decreases during the process of melting, the temperature at  
which melting takes place approximates zero. 
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The rate of ice melting is defined by conditions of the heat balance at the 
ice surface [refer to Budyko (1962)l. The equation of this balance can be 
presented in the form 

where R is the radiation balance, L is the latent heat of vaporization, E is 
evaporation from the ice surface, P is the turbulent flux of sensible heat 
between the ice surface and the atmosphere, A is the heat flux from the ice 
surface to the lower layers of the ice, I is the latent heat of fusion of ice, h 
is the change in ice thickness due to melting, and p 1  is the ice density. 

The dependence of the first three components of the heat balance on 
meteorological factors can be presented in the following form : 

R = LE + P + A + lhp,, (4.3) 

R = Q(1 - 01) - Zo - 4SuT3(Tw - T), (4.4) 

p = pcpxu(Tw - 0, (4.6) 

where Q is the total short-wave radiation, 01 is the albedo of ice, Zo is the net 
long-wave radiation, calculated according to the air temperature, 6 is the 
coefficient characterizing the difference between the properties of the radiating 
surface and those of a black body, u is the Stefan-Boltzmann constant, T 
is the air temperature, T, is the ice-surface temperature, x is a coefficient of 
proportionality, p is the air density, u is the wind speed, qs is the specific 
humidity of saturated air at  temperature T, , q is the specific humidity of the 
air, and c, is the heat capacity of the air at  constant pressure. 

From Eqs. (4.3-4.6), we determine 

- (PXC,U + 46uT3)(TW - T) - A ] .  (4.7) 

In applying this formula to calculate ice melting, one may use some simpli- 
fications. Since the relative humidity of the air above ice does not change 
very much on the average, and the difference between temperatures of the 
ice surface and air are usually small, then we may, without material damage 
to the accuracy of the calculation, consider that Lpxu(q, - q )  = Lpxuq,V, 
where the coefficient 7 is approximately equal to 0.1. Taking into account the 
fact that the value of A in the melting period is relatively small, it is possible 
to employ an approximate estimate of it in accordance with the change in 
the mean temperature of the ice, taking into account the value of its effective 
heat capacity. 

Using Eq. (4.7), it is possible to evaluate which factors influence ice melting 
the most. Such calculations show that the rate of melting depends primarily 
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on changes in solar radiation Q and air temperature T. It  follows from these 
calculations that the total amount of melting per year in the Central Arctic 
amounts to several tens of centimeters. This value, which is in good con- 
formity with the observational data, is markedly greater than the loss of ice 
mass by evaporation, which in this region is equal, according to available 
data, to a few centimeters a year. 

Compared to evaporation, the transport of ice into lower latitudes has a 
more important influence on the ice balance in the Central Arctic. As noted 
above, the quantity of ice carried by ocean currents annually from the high 
latitudes amounts to approximately 2000 km3, which corresponds to an 
annual decrease in thickness of the ice cover of approximately 20 cm. 

Employing the methods stated above, we can calculate for any region the 
annual march in thickness of the ice that is in equilibrium with the climatic 
conditions of the given region. Let us assume in this case that changes in 
ice thickness are mainly determined by the freezing and melting processes, 
and use the method of successive approximations (Budyko, 1962). 

In accordance with the principle of this method, we assume for the 
beginning of the calculation period an arbitrary ice thickness, and then 
calculate for every subsequent month the rate of freezing (or melting) in 
accordance with the climatic conditions. Let us continue with this calculation 
for an array of successive years until the total annual values of melting turn 
out to be equal to the annual values of freezing. The ice thicknesses obtained 
in this way for each month will correspond to the climatic regime of the 
given region. 

Using such a calculation method shows that it gives satisfactory results 
in determining the changes in ice thickness in the annual cycle. The absolute 
values of ice thickness computed by this method do not always correspond 
to observations and, particularly for the Central Arctic, often prove to be 
larger than the observed values of the ice thickness. The cause of this discrep- 
ancy lies in the effect of drift of ice fields on the ice balance in the high 
latitudes. As a result of this effect, ice is carried out of the Central Arctic 
area until it reaches a thickness corresponding to the climatic conditions of 
the particular region. 

In the work of Zubenok (1963), the above-stated method was applied to 
calculating the mean boundaries of permanent polar ice in different months 
of the year. The result of this calculation proved to agree well with the 
observational data. 

The method mentioned has been used also for studying the effect of 
anomalies of meteorological elements on the thickness and area of ice cover. 
In this way, changes of ice thickness with various air-temperature anomalies 
have been calculated (Budyko, 1966). 

In Fig. 86 are given the results of calculating changes in thickness of the 
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ice in the Central Arctic with a positive temperature anomaly in the three 
summer months (June-August) equal to 2" (Fig. 86a), and with a positive 
anomaly in the six cold months (November-April) equal to 10" (Fig. 86b). 
Curve 1 characterizes the changes of the greatest, curve 2 of the smallest, 
ice thicknesses in the annual cycle. It is seen from this figure that a compara- 
tively small anomaly in summer temperature reduces ice thickness much 
more strongly than the far greater temperature anomaly in the cold months. 

With a positive anomaly of summer temperatures equal to 4", ice of four 
meters thickness under mean climatic conditions for the Central Arctic 
disappears completely in four years (Fig. 86c). Thus, at an increase of 4" in 
the summer temperature in the Arctic, the ice of many years over most of the 
Arctic Ocean turns into one-year ice. 

0- - 
2 4 6 8 1 0  2 4 6 8 1 0  

Number of years 

Fig. 86 Effect of temperature anomalies on ice cover (see text). 
Winter, 10"; (c) Summer, 4". 

2 4  

(a) Summer, 2"; (b) 

It is clear, however, that this evaluation of the temperature anomaly at  
which Arctic ice of many years growth is destroyed is maximal. Since, with 
reduction of ice area, the amount of radiation absorbed at  the open ocean 
surface increases considerably, then after partial destruction of the ice, a 
further rise in temperature might occur, which in its turn will intensify the 
melting of the ice. 

In order to clarify what anomaly of the meteorological regime is sufficient 
for complete destruction of many-year ice, it is necessary to evaluate how 
ice influences the thermal regime in the Arctic. 

The efect of ice cover on climate 

It  was noted at  the beginning of this chapter that the thermal regime of 
the high latitudes depends substantially on the effect of ice cover on the 
absorption of solar radiation. 
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Let us give a simple example, illustrating what influence snow and ice 
cover can produce on the climate of the earth as a whole. Let us imagine a 
hypothetical earth, without any clouds, the surface of which is entirely 
covered with snow and ice. Under such conditions, the albedo of the earth is 
noticeably increased compared to the value existing now, and this will 
influence the temperature of the air. The “effective” temperature of the 
earth, corresponding to its long-wave emission, is proportional to (1 - as)114 

(where as is the albedo). Therefore, as albedo changes from a value as’ to a 
value a,”, the absolute value of the “effective” temperature changes as 
[(l - a,”)/(l - C X , ’ ) ] ~ ’ ~ .  Considering the present-day albedo of the earth 
equal to 0.33 and the albedo of dry snow cover equal to 0.80, we find that 
for a snow-covered earth the mean “effective” temperature must be reduced 
by approximately 75”. 

One might think that the reduction of mean air temperature near the 
earth’s surface will be greater than the value given. At present, the mean 
temperature of the lower layers of air is considerably increased all over the 
earth’s surface by the “greenhouse” effect, which is associated with the ab- 
sorption of long-wave radiation by water vapor and carbon dioxide in the 
atmosphere. At very low temperatures, this effect is not important, and also 
the formation of dense clouds that change the radiation fluxes appreciably 
becomes impossible. Under these conditions, the atmosphere becomes more 
or less transparent for both long-wave and short-wave radiation. 

The mean temperature of the earth’s surface with a transparent atmosphere 
is determined by the simple formula [So(l - as)/4a]1/4, where So is the solar 
constant, and u is the Stefan-Boltzmann constant. It follows from this 
formula that at  as = 0.80, the mean temperature of the earth is 186°K or 

Thus, if snow and ice covered the whole surface of the earth even for a 
short period of time, its mean temperature (equal now to + 15OC) would be 
reduced by approximately 100”. This estimate shows what an enormous 
effect snow cover can exert on the thermal regime. 

Turning to the problem of the influence of the existing ice cover on the 
thermal regime of the Arctic, we note that this influence is easily evaluated 
for the hypothetical case in which, along with the disappearance of the 
ice cover, only the albedo of the earth-atmosphere system changes, but the 
values of the horizontal heat fluxes in the atmosphere and hydrosphere 
remain the same. 

Under such conditions, the difference T - T’ between the mean annual 
temperatures with and without ice can be calculated by the equation 

- 87°C. 
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where as and as' are the albedos of the earth-atmosphere system with and 
without ice. 

Taking into account the fact that at  80" N latitude the mean annual value 
of Qs equals 11.0 kcal cm-2 month-l, and assuming as' = 0.30, as = 0.62, 
we determine from Eqs. (4.2) and (4.8) that T' - T = 44". 

Thus, the disappearance of polar ice under existing conditions of hori- 
zontal heat exchange might raise the temperature in the Arctic by more than 
40". 

I t  is evident, however, that polar ice has a considerable effect not only on 
the albedo but also on the meridional heat exchange in the atmosphere and 
hydrosphere. A quantitative picture of such an effect can be presented in the 
following way. 

The income of heat in the hydrosphere of the Central Arctic that is caused 
by the meridional heat exchange, without ice, probably would increase 
in comparison with existing conditions. As pointed out above, this income 
at  present is insignificant, because the ice-covered ocean cannot give out any 
noticeable amount of heat for heating the atmosphere in winter. Heat- 
balance investigations show that in high latitudes in winter, ice-free oceans 
give out into the atmosphere a great amount of heat, which is reimbursed 
by the horizontal heat exchange in the hydrosphere. The value of the corre- 
sponding heat flux depends on the activity of the currents, the thermal regime 
of the atmosphere, and the meridional temperature gradient in the upper 
layers of the ocean water. 

Polar ice being present, the meridional temperature gradient in the upper 
layers of the ocean water in the high latitudes is small, which corresponds 
to the smallness of the meridional heat income through the activity of 
currents. 

Polar ice being absent, this temperature gradient must increase. In these 
conditions, the temperature of the surface water in winter can approximate 
the freezing point only on the coldest regions of the polar basin, while in 
the zone connecting this basin with the Atlantic Ocean, the water tempera- 
ture would be noticeably higher than now. Accordingly, the meridional 
gradient of the temperature of surface water will increase along with the 
associated heat transfer by ocean currents. 

As the inflow of heat in the hydrosphere increases, in the absence of ice, 
the flow of heat in the atmosphere to high latitudes should become substanti- 
ally reduced, as a consequence of the increased temperature of the air in 
the Arctic and the weakening of the intensity of macroturbulent exchange 
resulting from the reduced meridional gradient of temperature. 

The reduction of heat inflow in the atmosphere into high latitudes must 
exceed in absolute value the increase of heat inflow in the hydrosphere, 
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without which the latitudinal distribution of temperature will not correspond 
with the distribution of absorbed radiation. 

Quantitative interpretation of the influence of ice cover on the thermal 
regime of the Arctic, including consideration of the effect of changes in the 
meridional heat exchange, involves great difficulties, which up to now have 
been only partially overcome. The first calculation of this kind, carried out 
in the early 1960s (Budyko, 1961), had the following content. 

For evaluating the influence of polar ice on the thermal regime of the high 
latitudes, the annual march of temperature that would take place in the upper 
layer of water and lower layer of air in the Central Arctic regions without ice 
cover was calculated. 

For this purpose, a joint solution of the equation of the heat balance at  
the ocean surface was used, 

R = LE + P + A,  

(where A is the heat flux from the ocean surface to the deeper layers), together 
with an equation characterizing the transformation of air masses on the 
earth’s surface. This is expressed in the form 

(4.9) 

T I  - T = v ( T ~  - Tw), (4. lo) 

where Tl is the mean air temperature at  the periphery of the Arctic Ocean, 
Tw and T are the mean temperatures of water surface and the air over the 
ocean, and v is a coefficient depending on the relation of the linear scale of 
the ocean to the speed of air-mass movement. 

Taking into consideration the relationship between the components of 
the heat balance and various meteorological elements, Eq. (4.9) was pre- 
sented in the following form: 

Q(1 - a) - SoT4(K - Nq)(l - C~Z)  - 4SoT3(TW - T )  

= LPx4qs - 4 )  + C P P X 4 T W  - T )  + B(Tw - Fw),  (4.11) 

where n is the cloudiness in fractions of a unit, Tw is the mean annual 
temperature of the water, and K, N,  c, and p are numerical coefficients. 

From Eqs. (4.10) and (4.11), we can first determine the mean annual 
temperature of water and air for the ice-free ocean and then the temperature 
in different months, if the air temperature Tl at the periphery of the ocean 
is known. 

With such a calculation, the albedo value was considered equal to 0.10, 
which corresponds to the conditions of an ice-free water surface in high 
latitudes. Because, with the reduction of albedo, diffuse radiation also 
decreases, then according to observational data, the values of total short- 
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wave radiation appearing in Eq. (4.11) were assumed equal to 80% of the 
[presently] observed values of radiation in the Central Arctic. 

In connection with the small variation in the mean values of relative 
humidity over the oceans, the absolute humidity was considered to be 
proportional to the saturation humidity at the temperature of the water 
surface. Other meteorological parameters entering into the calculation 
(cloudiness and wind speed) were accepted as corresponding to the mean 
conditions of the regime now existing. 

Because, with an ice-free regime, the temperature at  the periphery of the 
ocean is greatly changed, to calculate this change we may assume that the 
meridional heat flux between the Equator and the periphery of the Arctic 
Ocean is proportional to the flux of heat between the periphery of the ocean 
and its central regions. Considering the meridional heat fluxes proportionkl 
to the meridional temperature gradients, we obtain 

To - TI = &(TI - T) ,  (4.12) 

where To is the mean latitudinal temperature at the Equator, and E is a 
coefficient of proportionality. 

Supposing that the air temperature near the Equator changes little with 
changes in the ice regime of the Arctic, we can use Eq. (4.12) along with 
Eqs. (4.10) and (4.1 1) for calculating the thermal regime of the Arctic Ocean 
without ice. 

As a result of this calculation, it was found that the water and air tem- 
peratures for the ice-free regime in the Arctic remain positive during the 
entire year. It follows that, in principle, there is a possibility of the existence 
of an ice-free regime in the Arctic of the contemporary epoch. 

In recent papers of the author (Budyko, 1962, 1966,1968,1969, and others) 
were suggested some other models for estimating the effect of polar ice on 
the thermal conditions of the Arctic. The results of applying these models 
confirmed the conclusion about the possibility of existence of two climatic 
regimes in high latitudes, associated with the presence or absence of polar 
ice. Along with this, it was established that both of these regimes are unstable. 
Because of this, ice cover might appear and disappear with the slightest 
changes in the climate-forming factors, and even without such changes as a 
result of oscillating processes in the system of atmosphere-ocean-polar ice. 

In these works, it was noted that the possibility of the existence of an ice- 
free regime in the Arctic of the contemporary epoch was foreseen by Lomo- 
nosov, who wrote in one of his investigations: “If we consider the Arctic 
Ocean, which for half a year is almost constantly illuminated by the sun’s 
rays (though by indirect ones), we cannot help believing that it is considerably 
warmed by them. And however greatly cooled it may become in winter in the 
long absence of solar heat, the winter cooling cannot exceed the summer 



282 IV POLAR ICE AND CLIMATE 

warming” (Lomonosov, 1763). From this, Lomonosov drew the conclusion 
that the central part of the Arctic Ocean, unexplored at  that time, must be 
free of ice. The above calculations show that this idea of Lomonosov had a 
certain basis. 

After publication of the first calculations of the effect of polar ice on the 
Arctic climate, this problem attracted the attention of several authors in 
different countries. 

Among the Soviet works on this problem, we must mention the studies of 
Rakipova (1962, 1966), in which the methods of the general theory of climate 
were used to evaluate the effect of polar ice on climate. In these studies, mean 
latitudinal temperatures of the air in the cold season at different levels of the 
troposphere and the lower stratosphere were determined with the con- 
temporary ice regime and without any ice in the Arctic. Rakipova’s calcula- 
tions corroborate the possibility of an ice-free regime in the contemporary 
epoch. 

In the paper of Doronin (1968), it was pointed out that after ice melts, a 
surface layer of fresh water with stable stratification appears. The vertical 
heat exchange in this layer is substantially weakened, which makes it easier 
for the ice cover to be restored in the cold season. 

When the upper water layers are mixed, the changes in water temperature 
in the annual cycle extend to great depths. As the thickness of the water layer 
in which the annual variation of temperature occurs increases, the probability 
of restoration of ice cover in the cold season becomes smaller. 

In the USA a study of the effect of polar ice on climate was organized by 
the Rand Corporation, which drew into these investigations several American 
and Canadian universities. 

This corporation held the first international meeting on this problem, 
which took place in Los Angeles in 1966, with the participation of Soviet, 
American, Canadian, and Norwegian scientists. The principal results of the 
investigations made by the Rand Corporation were reported by Fletcher 
(1966), who cited data on Arctic heat-balance calculations with and without 
polar ice. Fletcher pointed out that from data on the heat balance of the 
Arctic Ocean, we can reach a conclusion about the possibility of the existence 
of an ice-free regime, though this conclusion should be tested by accounting 
for the effect of changes in atmospheric circulation on the heat balance in the 
absence of polar ice. 

Fletcher expressed the suggestion that the climate of the high latitudes in 
an ice-free regime would be characterized by a cool summer and a mild 
winter with copious precipitation, which finally could lead to the development 
of glaciation in high and middle latitudes. 

In the works of Donn and Shaw (1966), an analysis of the heat balance of 
the Arctic Ocean was also carried out, which resulted in corroboration of the 
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conclusion about the possibility of existence of ice-free conditions in this 
ocean. 

We report some results of calculating the effect of polar ice on climate, 
based on more general assumptions than those in the investigations carried 
out earlier (Budyko, 1969). 

The equation of the heat balance of the earth-atmosphere system has the 
form 

QS(l - a,) = 1, + C + B, , (4.13) 

where C is the heat inflow due to horizontal movement in the atmosphere 
and hydrosphere and includes the inflow of heat associated with the phase 
transformations of water, and B, is the change of heat content in the earth- 
atmosphere system over the period of time under consideration. This de- 
pends mainly on the change in heat content of the upper layers of ocean 
water. 

For the mean latitudinal distribution of the meteorological elements and 
for mean annual conditions, a relationship between horizontal heat flux and 
temperature distribution can be expressed by a simple formula (refer to 
Chapter 111, Section 4), 

c = Y(T - TP), (4.14) 

where T is the mean latitudinal temperature near the earth’s surface, T, is 
the mean temperature of the hemisphere, and y is a coefficient of proportion- 
ality, values of which are expressed below in kcal cm-2 month-l degree-l. 

Further investigations showed that Eq. (4.14) is also satisfied for conditions 
of individual seasons, the coefficient y that characterizes the meridional heat 
exchange being increased in the cold season and decreased in summer. 

From Eqs. (4.2), (4.13), and (4.14), we get the formula 

(4.15) Qs(l - a,) - u - bT + (a, + b,T)n - B, 
T - T, Y =  

Using data on temperature, radiation, albedo, and cloudiness for the 
Central Arctic (SOo N latitude), we determined by this formula the value of 
the coefficient y, which equals 0.15 in summer (June-August) and 0.24 in 
winter (December-February). It is evident that the change of this coefficient 
during the annual cycle is connected with the change in the meridional tem- 
perature gradient, on which the intensity of heat exchange between high and 
low latitudes depends. 

From the same equations, we can obtain formulas for the mean tem- 
perature near the earth’s surface in summer and winter (the values of 
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parameters for these seasons are marked by the appropriate indices: L for 
summer, Z for winter) 

(4.16) 

(4.17) 

We can add to Eqs. (4.16) and (4.17) the equations of the heat balance at  the 
earth's surface, 

QL(1 - a) - SaTL3(K - NqL)(l - c~L)  

- ( ~ S U T L ~  + C~PX~L)(TWL - TL) - LpxUL(qsL - q L )  = B S  (4.18) 

and 

-SUTz3(K - Nqz)(l - cnz) - (4SUTZ3 + cppxuz) 

X ( T ~ z  - Tz) - LpxUz(qsz - qz) = - B s ,  (4.19) 

and a formula connecting the changes in heat content in the upper layers of 
the ocean with the annual amplitude of temperature (Budyko, 1962), 

4 3  = P V W L  - Twz). (4.20) 

Using Eqs. (4.16-4.20), we can calculate water and air temperature for the 
ice-free regime in the Central Arctic. For this calculation, let us consider that 
humidity is proportional to the absolute humidity of saturated air at  the 
temperature of the evaporating surface. 

Let us assume that the thermal regime of the Arctic under ice-free con- 
ditions during the whole year will be close to the regime that is observed 
now in summertime. Then we may consider the value of the coefficient y and 
also the values of cloudiness and wind speed for winter months to be close 
to the contemporary summer conditions. 

Let us assume also that heat exchange between the Northern and Southern 
Hemispheres has little influence on the thermal conditions of high latitudes 
in the Northern Hemisphere (or that the thermal regime of both hemispheres 
changes similarly). 

The water and air temperatures for the Central Arctic computed under 
these assumptions are given in Table 29. 

As is seen from this table, the winter air temperature in the Central Arctic 
with the ice-free regime is some degrees lower than the contemporary sum- 
mer temperature, and the summer temperature is several degrees higher. This 
relatively small difference permits us to consider that the above assumption 
about the parameters is admissible. 
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TABLE 29 

UNDER ICE-FREE CONDITIONS 
THERMAL REGIME OF THE CENTRAL ARCTIC 

Summer Winter 

Water temperature +4.3" -0.8' 
Air temperature + 5.8' - 5.4" 

The results of the calculation corroborate the possibility of an ice-free 
regime in the Central Arctic, because the water temperature in winter turns 
out to be higher than the freezing point of salt water, approximately - 1.8". 
In addition, the results mentioned suggest a great instability of the ice-free 
regime, as the water temperature in winter exceeds the freezing point by only 1". 

For correct interpretation of the results of this calculation (and also of 
other thermal-regime calculations for ice-free conditions in the Arctic), one 
should bear in mind that the probable error of even the most accurately 
calculated temperature cannot be less than several degrees. Therefore, we 
can get unambiguous conclusions from these calculations only in cases 
when the lowest water temperatures found in them are higher or lower than 
the freezing point by a value exceeding several degrees. 

I t  is evident that these cases will correspond to the conditions of stable 
existence of one of the two possible regimes in the Central Arctic. If the ice- 
free regime in the Arctic is really possible but comparatively unstable, then 
an appropriate conclusion can be obtained only as a probable consequence 
of the calculation and not as a unique result of it. 

The consequence mentioned refers to the case when the lowest water 
temperature in the ice-free regime proves to be close to the freezing point or 
differs from it by a value less than the errors in calculation. Under such con- 
ditions, the existence of an unstable ice-free regime is very probable, because 
the calculated value of temperature relates to mean conditions, on which in 
fact are superimposed continual fluctuations in the thermal regime due to 
oscillating processes in the atmosphere and ocean. If the mean level of the 
lowest water temperatures for ice-free conditions actually lies slightly higher 
than the freezing point, then with negative anomalies of temperature or 
radiation, the formation of ice becomes possible. If the mean level of these 
temperatures is slightly lower than the freezing point, then under long positive 
anomalies of the elements mentioned, destruction of the ice and temporary 
restoration of the ice-free regime is possible. 

I t  should be noted that the values of water and air temperatures obtained 
in the above calculation for the ice-free regime are slightly underestimated. 
The reason for this lies in the absence of an accounting in the model used 
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of the additional influx of heat in the hydrosphere of the high latitudes that 
appears under ice-free conditions only. One might think, however, that even 
with the heat influx mentioned being considered, the water temperature in 
winter in the Arctic will not much exceed the freezing point. Thus, the ice- 
free regime in the high latitudes in the contemporary epoch will probably be 
unstable. 

The problem of stability of the existing polar ice is of great importance, 
since the disappearance of this ice must lead to abrupt changes in climatic 
conditions over extensive areas. As seen from the above calculation, the 
mean annual air temperature in the Central Arctic under the ice-free regime 
increases by approximately 15” in comparison with current conditions. The 
temperature in the cold season will increase considerably, while that in 
summer months will be raised only by a few degrees. 

Without doubt, a similar rise in temperature will spread in a somewhat 
weakened form to the peripheral regions of the Arctic and also to middle and 
even tropical latitudes. 

Together with the general rise in temperature under the ice-free regime, 
the meridional temperature gradients will decrease, especially in winter. 
This must substantially influence the circulation of the atmosphere and the 
turnover of water. 

Some evaluations of the water-circulation conditions with a considerable 
warming in the high latitudes, which were made by Drozdov (1966), show 
that in this case a considerable redistribution of the amounts of atmospheric 
precipitation occurs. In some coastal regions, the amounts of precipitation 
increase compared to existing conditions ; in many interior regions, the 
amounts of precipitation decrease. 

The consequences of the melting of glaciers on land also has considerable 
importance, because it would lead to a marked rise in ocean level and to 
flooding of many populated areas. 

Thus, the disappearance of polar ice will be connected with immense 
changes in the climatic conditions on our planet, some of these changes 
being favorable for man’s activities and some unfavorable. 
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V 

Climatic Change 

1. Introduction 

Studies on climatic change in the contemporary period and the geological 
past contain a large body of data on climatic conditions at various periods 
of time and in different geographical regions. Fewer results have been 
obtained on the reasons for climatic change. Although many authors have 
been interested in this problem, it has not so far been worked out sufficiently, 
apparently because the descriptive methods that prevailed in the past are not 
effective in explaining the causal mechanism of the processes being studied. 

In this chapter, we will consider the possibility of applying materials on 
energy balance to study the problem of the reasons for change and fluctuation 
in climate. Such a mode of investigation was used in the studies of Humph- 
reys (1929), Wexler (1953), Bernard (1964), Flohn (1964), Mitchell (1965), 
and other authors. 

Let us first consider empirical data on climatic conditions of the past. 
There are three basic sources of such data. 

The most exact climatic data cover the period of instrumental meteoro- 
logical observations. Since instrumental observations began on a mass scale 
only in the second half of the 19th century, the period covered is equal to 
about one century. 

Certain data on climatic conditions over a period of several thousand years 
can be obtained from materials of noninstrumental observations reflected in 
various historical sources. 

Finally, data on the climate of more remote eras, extending over hundreds 
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of millions of years, are furnished by paleogeographic studies in which the 
relationship between meteorological factors and the life activities of animals 
and plants, as well as hydrological processes, processes of lithogenesis, and 
so forth, are used as clues to past climatic conditions. 

The interpretation of data on the physical conditions of remote eras for 
an explanation of past climates is fraught with great difficulties, some of 
which are crucial. They involve, in particular, the need for using the principle 
of uniformitarianism, which in this case calls for the assumption that the 
relationships between climate and other natural phenomena in the past 
were the same as exist at the present time. Although this approach is open to 
argument, the great diversity of natural processes that are functions of 
climate make possible independent testing of the results of climatic recon- 
struction on the basis of various paleogeographic indices. The more general 
regularities of past climates can therefore be accepted as reliable, even though 
some particular results may be open to question and may require additional 
investigation. 

An important additional source of information on past climates is fur- 
nished by paleotemperature data obtained through analysis of the isotopic 
composition of organic residues [see Bowen (1966) and others]. An evaluation 
of the precision of these data and the question of their practical interpretation 
involve certain difficulties, which are gradually being overcome as the methods 
of paleotemperature analysis are improved. 

The principal results of the empirical study of past climates can be pre- 
sented in the form of the following conclusions: 

1 .  Climatic conditions that prevailed over the last few hundred million 
years differed markedly from those of the present. Throughout this entire 
segment of time, except for the relatively brief Quaternary period, the differ- 
ence in temperatures between low and high latitudes was relatively small, 
with low-latitude temperatures roughly at present levels and temperatures in 
the middle and high latitudes substantially higher than those observed at  the 
present time. 

2. The evolution of the present contrast between the temperatures at the 
Equator and those at the poles began about 70 million years ago, at the 
beginning of the Tertiary period. That process went rather slowly, and by 
the beginning of the Quaternary (about a million years ago), the difference of 
temperatures at  high and low latitudes was still substantially less than the 
present difference. 

3. In the Quaternary period, temperature dropped sharply in the high 
latitudes in conjunction with the beginning of polar glaciation. Glaciation in 
the Northern Hemisphere was subjected to considerable fluctuation, in the 
course of which it increased several times, reaching the middle latitudes, and 
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then retreated again to the higher latitudes. The last advance of the ice sheet 
in Eurasia (the Wiirm stage) ended about 10,000 years ago, and since then 
the permanent ice cover in the Northern Hemisphere has been limited largely 
to the Arctic Ocean and to islands in the higher latitudes (besides mountain 
regions). 

4. In the last 10,000 years, thermal conditions in higher and middle 
latitudes have continued to change. This has been connected with substantial 
fluctuations in the area covered by polar ice. 

5. In the last century, a period for which instrumental data are available, 
climatic fluctuations continued. The first half of the 20th century witnessed 
a warming trend that was particularly evident in the 1920s and 1930s. This 
trend ceased in the 1940s and was followed by a cooling trend, which has not 
yet reached the magnitude of the preceding warming trend. Present changes in 
climate are most evident in the middle and especially in the higher latitudes 
of the Northern Hemisphere. 

In an attempt to explain the foregoing regularities of climatic change, 
several hypotheses have been proposed which link climatic change with a 
variety of terrestrial and cosmic factors [see reviews by Flohn (1964), Mitchell 
(1965), Sellers (1965), and others]. Most of these hypotheses have not been 
confirmed by quantitative calculations or observational data, and the 
grounds on which they were advanced have been challenged. As a result, 
there is at the present time no generally accepted view on the causes of 
climatic change and fluctuation. 

Without attempting to evaluate the numerous proposals regarding the 
factors that cause climatic change, we will try to distinguish causes whose 
influence on climatic change is more or less self-evident. If these causes 
turn out to be sufficient to explain the aforementioned regularities of climatic 
change, this would reduce the need for recourse to additional hypotheses 
for an interpretation of this phenomenon. 

We know that the earth’s climate is determined by solar radiation received 
at  the outer boundary of the atmosphere and by the structure of the underlying 
surface. The formerly widespread view that atmospheric circulation is also a 
climate-forming factor is unacceptable, as we have repeatedly noted, because 
the motion of atmospheric air is one of the elements of climate and not an 
external causative factor. 

In recognizing that, for a given chemical composition of the atmosphere, 
the radiation of the sun and the structure of the underlying surface are the 
principal climate-forming factors, we must explain the meaning of the term 
“structure of the underlying surface.” 

It is evident that climatic genesis in the broad sense covers not only 
processes of the atmosphere but also physical processes in the hydrosphere 
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and the entire complex of hydrometeorological processes at the earth's 
surface, including glaciation, if it takes place. 

By the underlying surface as a climate-forming factor, we thus mean the 
structure of relief, that is, form of the earth's surface, that determines the 
area of seas and oceans and their depths, and the area of continents and 
their heights. Changes in the underlying surface associated, say, with glacia- 
tion may be treated as a climate-forming factor in a particular period, but 
in the general sense, such changes should also be considered as one of the 
elements of climate produced by the two basic causal factors-the influx of 
radiation and the structure of relief. 

Let us now see to what extent we can explain the basic regularities of 
climatic change on the basis of changes in climate-forming factors. We will 
start with the period of instrumental observations, for which we have the 
most detailed climatic data. 

2. Contemporary Climatic Changes 

As has been established in the work of Rubinshtein (1946 and elsewhere), 
Lamb (1966 and elsewhere), and many other authors, climatic changes 
during the period of instrumental observations have not been uniform for 
various parts of the earth and for different seasons of the year, and thus 
present a rather complicated picture. If we want to explain the general 
regularities of climatic change, we would be best advised to use data on 
meteorological conditions relating to large areas. With this aim in mind, 
Willett and Mitchell [see Mitchell (1961, 1963)] averaged temperature data 
for many stations situated in various regions. These data served as the basis 
for conclusions about changes in the mean temperature of the earth's 
surface from year to year. 

Such analysis can be performed more precisely by the use of air-temperature 
anomaly maps, rather than the observational data of individual stations. 
These maps, which have been prepared at the Main Geophysical Observatory, 
shed light on the distribution of mean monthly temperature anomalies for 
every month from 1881 to 1960 in the Northern Hemisphere, except in the 
equatorial zone, where observational data in the early years are inadequate 
for the construction of anomaly maps. 

Figure 87 shows the secular course of yearly air-temperature anomalies 
in the zone between 17 and 90" N latitude, as calculated from the anomaly 
maps with the assistance of L. P. Spirina. Curve 1 represents the unsmoothed 
anomaly values, and curve 2, the anomalies averaged by 10-year moving 
periods. 

The figure shows that the warming period beginning at the end of the 19th 
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Fig. 87 Secular trend of anomalies of air temperature and radiation. 

century ended about 1940 and gave way to a cooling trend. In this process, 
the Northern Hemisphere temperature, after having risen by 0.6"C during the 
warming trend, then dropped by 0.2" by the middle 1950s. A relatively brief 
warming trend with a smaller amplitude also occurred in the last few years 
of the 19th century. 

A calculation of temperature anomalies in various latitudinal zones showed 
that the greatest temperature changes occurred in the middle latitudes and 
especially the higher latitudes. A warming trend in the subtropical and 
tropical regions was appreciably weaker, and it is therefore not quite clear 
from the observational data whether a cooling period set in after 1940 in 
these regions too. 

Data on temperature anomalies in different periods of the year show that 
the mean temperature anomalies at various latitudes vary similarly in all 
seasons, with the absolute magnitudes of the anomalies in winter exceeding 
those in other seasons. 

The findings presented in Fig. 87 confirm once again the existence of 
noticeable climatic fluctuations of a planetary character. The causes of these 
fluctuations have been discussed widely in the literature. Among the various 
hypotheses proposed in this connection, mention should be made, above all, 
of the supposition that the earth's thermal regime might be affected by changes 
in atmospheric transparency for the flux of short-wave radiation because of 
changes in the amount of atmospheric dust. 

Some authors have also related contemporary climatic change to the effect 
of changes in the amount of carbon dioxide on long-wave radiation, to the 
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instability of solar radiation (solar activity), to autofluctuations of the 
system consisting of the atmosphere, the oceans and polar ice, and to other 
factors. 

It should be noted that not all of these hypotheses can be tested quantita- 
tively at the present time. We can, however, assess the effect of some of the 
above-mentioned factors on climatic change. If such an assessment suggests 
that a particular factor plays a determining role in observed changes of 
climate, it may indicate indirectly a lesser role for other factors whose effect 
cannot yet be directly determined. 

One of the first hypotheses concerning the causes of climatic fluctuation 
was stated in the 18th century by Benjamin Franklin, who suggested that a 
reduction of atmospheric transparency for solar radiation might lead to 
cooling. This concept was further developed by Humphreys (1929), Wexler 
(1953), and other investigators. 

One of our own papers (Budyko, 1967) contained some results of a study 
of the effect of changes in atmospheric transparency on the thermal regime, 
and we will discuss this here in greater detail. 

It was first known at the beginning of the 20th century that the mean 
amount of direct solar radiation reaching the earth's surface under cloudless 
conditions may vary noticeably from year to year. These changes show up 
well on curves of the secular march of direct-beam radiation constructed on 
the basis of observational data from actinometric stations. Such curves show 
[see Budyko and Pivovarova (1967)] that direct radiation, in addition to 
changing from year to year, also varies over longer periods, on the order 
of decades. 

Savinov (1913), Kimball (1918), and others have established that sharp 
reductions of solar radiation occur when the lower layers of the atmosphere 
are filled with volcanic dust, after volcanic eruptions of an explosive character. 

In such cases, the global magnitude of direct radiation may drop by 10-207,, 
over a period of several months. An example appears in Fig. 88, showing 
changes in the ratio of the mean monthly values of direct radiation under 
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Fig. 88 Changes in radiation after a volcanic eruption. 
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cloudless skies to the long-term norm after an eruption of Mount Katmai in 
Alaska. This curve, constructed on the basis of observational data from 
several European and American actinometric stations, shows that volcanic 
dust reduced direct radiation by more than 207, in individual months. 
Similar changes in radiation were observed after the 1883 eruption of Kraka- 
toa (Indonesia). In both cases, anomalous optical phenomena in the atmos- 
phere were observed over huge areas after the volcanic eruptions, confirming 
the global character of changes in the radiation regime resulting from the 
dissemination of volcanic dust. 

The effect of changes in radiation on the thermal regime after volcanic 
eruptions was studied in the above-mentioned works of Humphrey, Mitchell, 
and others, who established that after great eruptions, the earth’s mean 
temperature dropped by a few tenths of a degree. 

Of particular interest is a comparison of the secular march of temperatures 
in the Northern Hemisphere with the secular march of radiation reaching the 
earth’s surface. For this purpose, Pivovarova analyzed actinometric observa- 
tional data over the period 1880-1965 for a group of European and American 
stations with the longest observation series, and constructed a mean curve 
of the secular march of direct radiation under cloudless skies (Pivovarova, 
1968). Figure 87 shows the 10-year moving average values of solar radiation 
during this study period (curve 3). 

Figure 87 shows two maxima for solar radiation-a short maximum at 
the end of the 19th century, and a longer maximum in the first half of the 
20th century with highest values in the 1930s. 

It might be supposed that the increase in radiation at the end of the 19th 
century resulted from the clearing of the atmosphere after the spread of 
volcanic dust from the Krakatoa eruption. The next reduction of radiation 
would have been the result of eruptions of Mont PelCe and other volcanoes. 
(The downward trend of the curve begins before these eruptions because of 
the use of 10-yr moving means.) The rise of radiation during 1915-1920 can 
apparently be attributed to an increase in transparency after the dust from 
the Katmai eruption had settled. For a long time afterward, no great explosive 
eruptions occurred. 

Let us now turn to the causes of the decline of radiation observed in the 
1940s. A number of authors (Davitaia, 1965; and others) have suggested 
that this decline was a result of the pollution of the atmosphere by industrial 
wastes and by dust from nuclear test explosions. The eruptions of Mount 
Spurr (Alaska) in 1953, Mount Bezymiannyi (Kamchatka) in 1956, and other 
volcanoes may also have played a role. 

If we compare curve 3 with the smoothed curve 2 of the secular march of 
temperature in Fig. 87, we find certain qualitative similarities between the 
two. Both curves display two maxima, one at  the end of the 19th century 
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and a second and more important maximum in the 1930s. There are, however, 
differences between the two curves, particularly the more pronounced charac- 
ter of the first maximum in the radiation curve. The similarity between the 
two curves suggests that changes in radiation produced by the instability of 
atmospheric transparency represent a significant factor in climatic change. 
Further clarification of this question requires quantitative calculation of 
temperature changes resulting from changes in atmospheric transparency for 
short-wave radiation. 

Humphreys (1929) established that global fluctuations in atmospheric trans- 
parency are most affected by the relatively fine dust of volcanic eruption 
that spreads after eruptions of the explosive type and remains for a long time 
in the lower layers of the stratosphere. 

Humphreys and Wexler (1953) suggested that the finest fractions of dust 
might remain in the atmosphere for many years. This dust has little effect on 
long-wave radiation, but it does increase the scattering of short-wave radia- 
tion, thus increasing the earth’s global albedo and reducing the magnitude of 
radiation absorbed by the earth as a planet. 

I t  should be pointed out that because of the predominant scattering of 
radiation by dust in the direction of the incident ray (the Mie effect), direct 
radiation is reduced much more substantially by scattering than is total 
solar radiation. Since it is changes in total radiation that affect the earth’s 
thermal regime, an evaluation of the effect of volcanic eruptions of climate 
requires determination of the change in total radiation resulting from the 
appearance of volcanic dust. 

This can be done by the method used by Shifrin and his associates in 
studies on atmospheric optics (Shifrin and Minin, 1957; Shifrin and 
Piatovskaia, 1959). 

We used their data to determine the ratios of the decline of total short- 
wave radiation to the decline of direct-beam radiation under average con- 
ditions at various latitudes in the presence of a layer of silica dust in the 
stratosphere. The results of the computation appear in Table 30. 

According to Shifrin’s findings, the values listed in this table depend 
relatively little on the particle size of the dust, provided most of the particle 
diameters lie between 0.02-0.03 and 0.2-0.3 pm. 

Let us now estimate how changes in the amount of direct radiation affect 
the mean temperature of the earth. For this purpose, we will consider the 
relationship between the earth’s mean temperature and incoming solar 
radiation. Several attempts have been made to relate change in the earth’s 
mean temperature to changes in incoming radiation. The findings of the last 
few years show that a 1% change in radiation results in a change of 1.2-1.5” 
in the mean temperature at the earth’s surface for a constant albedo (see 
Chapter 111, Section 4). 
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We will now compare the earth's radiation and thermal regimes over two 
30-yr periods: 1888-1917 and 1918-1947. It follows from Fig. 87 that direct- 
beam radiation in the second period was 2'7, greater than in the first. Since, 
on the basis of the data in the table above, the weighted mean ratio of changes 
in total radiation to changes in direct radiation for the earth as a whole is 
0.15, we find that total radiation in the second 30-yr period was 0.3% higher 
than in the first period. Such an increase in total radiation corresponds to an 
increase in the mean temperature by roughly 0.4"C. The actual difference of 
temperature for the two periods, on the basis of curve 1 ,  was 0.33", which 
agrees quite well with the computed figure. 

TABLE 30 
EFFECT OF DUST ON THE R A D I A ~ O N  REGIME 

Latitude Decline of total radiation 
(degrees) Decline of direct-beam radiation 

90 
80 
70 
60 
50 
40 
30 
20 
10 
0 

0.24 
0.23 
0.22 
0.21 
0.19 
0.18 
0.16 
0.14 
0.13 
0.13 

It is evident that such a computation technique can be used to arrive at 
temperature changes only under stationary conditions, when correspond- 
ence exists between the radiative influx of heat and the thermal regime. But 
during short-term changes of radiation lasting a few months or years, there 
can be no such correspondence because of the substantial thermal inertia 
of the earth's outer envelope caused by heat exchange in the upper layer of 
the oceans. 

Let us discuss the effect of short-term radiation changes on temperature. 
This effect can be calculated theoretically through the use of the thermal 
conductivity and heat capacity of ocean water. But since we are interested 
in only an approximate evaluation of this effect, we will make use of a simpler 
relationship between temperature and radiation fluctuations that can be 
established empirically from changes in their magnitudes during the annual 
march. 



2 CONTEMPORARY CLIMATIC CHANGES 299 

We will assume that the rate of change of the earth's temperature is 
proportional to the difference between the temperature at a given time T 
and the temperature corresponding to stationary conditions, T, , that is, 

_ -  - -h(T - T,), dT 
dt 

where A is a proportionality coefficient. 

from Eq. (5.1) 
Designating the temperature at  the initial moment of time as Tl , we obtain 

T - T, = (TI  - T,) e-At. (5.2) 

For an approximate evaluation of the magnitude of A, we will use data 
on the annual march of solar radiation and temperature for the Northern 
Hemisphere. 

Since the ratio of the magnitude of solar radiation received at the outer 
boundary of the atmosphere of the Northern Hemisphere during the warm 
half of the year (April-September) to the mean annual magnitude of radiation 
is 1.29, we find from the relationship between temperature and radiation 
changes derived in Section 4 of Chapter I11 that such a change in radiation 
in the absence of thermal inertia would raise the temperature by roughly 40". 
The observed difference between the mean temperatures of the Northern 
Hemisphere during the warm half of the year and the entire year is 3.5". 
Accordingly, since for t = $ yr, T - TI = 3.5", and since T, - Tl = 40", 
we can derive h from Eq. (5.2) as being roughly equal to 0.4 yr-l. 

Taking this evaluation into account, we now calculate the change in mean 
temperature that would occur during the year following a volcanic eruption 
that resulted in a 10% reduction of direct radiation on the average for the 
year. In this case, the reduction of global radiation would be 1.5%, and the 
reduction of T, would be about 2". From Eq. (5.2), we find that the value 
representing the temperature change after the eruption would amount to a 
few tenths of a degree. This value agrees quite well with the magnitude of 
the mean annual temperature anomaly observed after great volcanic erup- 
tions. 

The data presented here indicate that changes in incoming solar radiation 
caused by the instability of atmospheric transparency have a significant effect 
on climate and presumably represent the basic cause of contemporary 
climatic change. This conclusion does not exclude the possibility that other 
factors may affect climate, but they evidently play a less significant role, 
when compared with changes in atmospheric transparency. 

I t  should be pointed out, of course, that fluctuations in the earth's mean 
temperatures are a highly schematic measure of the complex climatic changes 
that arise as a result of changes in the radiation regime. 
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When a layer of volcanic dust is present in the atmosphere, direct radiation 
decreases inversely with the optical mass of the atmosphere, that is, direct 
radiation decreases with the mean elevation of the sun. This means that direct 
radiation decreases to a greater extent in higher latitudes than in lower 
latitudes, and more strongly in winter than in summer. This effect is even 
more pronounced in total solar radiation because the ratio of the decrease 
of total radiation to the decrease of direct radiation also increases inversely 
with the mean elevation of the sun. 

This regularity is one of the factors that produce a greater lowering of 
temperature after volcanic eruptions at high latitudes than at low. 

The above-mentioned data on temperature anomalies show that during the 
general warming trend in the first half of the 20th century, the differences 
between temperatures in the high and low latitudes declined by 2", or by 
several per cent of the existing mean meridional temperature gradient. 

This change in temperature field significantly affected the circulation in the 
atmosphere and hydrosphere, and the circulatory changes in turn had an 
effect on the temperature field and were reflected in such climatic elements 
as the circulation of water and the regime of atmospheric precipitation. 
There are grounds for assuming, in particular, that the reduction of the 
meridional temperature gradients in the 1920s and 1930s weakened the zonal 
circulation in the middle latitudes, thus affecting precipitation in Eastern 
Europe and producing a drop in the level of the Caspian Sea. 

In addition to the effect of the instability of atmospheric transparency, 
changes in climate and in its individual elements undoubtedly depend also 
on autofluctuating processes in the atmosphere and hydrosphere. 

The simplest example of such an autofluctuating process is the change of 
level of a body of water without an outlet. Budyko and ludin (1960) have 
shown that the level of water in an inland basin cannot remain stable even 
in the absence of climatic change if its shoreline is vertical, that is, if its area 
is not a function of its level. The instability is related to the fact that the sum 
of the annual fluctuations of the components of the water balance of such a 
water body increases without limit with time, in view of the random character 
of these fluctuations. 

Since, however, natural water bodies have sloping shorelines, the changes 
of area with fluctuations in level tend to stabilize these fluctuations. The 
above-mentioned study established that if the successive annual fluctuations 
of the Caspian Sea level were independent of one another, the total amplitude 
of these fluctuations could be explained as the sum of the annual random 
changes in the sea level. In that case changes of the Caspian Sea level would 
represent an example of a purely autofluctuating process. 

Drozdov and Pokrovskaia (1961) noted that the successive annual fluctua- 
tions in the level of the Caspian Sea are not independent of one another. 
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Their interconnection suggests that a large part of the amplitude of fluctua- 
tions in level can be explained by external factors (that is, general climatic 
fluctuations), even though a substantial part of this amplitude is a result of the 
autofluctuating process. 

Far more complicated autofluctuating processes take place in the atmos- 
phere-ocean-polar ice system. Models of these processes were first examined 
by Shuleikin (1941 and elsewhere). The study of these processes by statistical 
methods provides the basis for many long-range and extra-long-range weather 
forecasting methods. 

Changes of such external climate-forming factors as the input of solar 
radiation presumably substantially affect the autofluctuating processes in 
the atmosphere and the hydrosphere. As a result, the regularities of climatic 
fluctuations turn out to be rather complicated, as was pointed out at  the 
beginning of this chapter. 

3. Climates of the Past 

The Quaternary glaciations 

The Quaternary period, beginning about a million years ago, was marked 
by the appearance of major glaciations that expanded during the glacial 
epochs to cover a substantial part of the earth's surface and retreated during 
interglacial times. 

According to the latest data (Markov, 1960; and others), the ice sheet on 
land and sea in the Northern Hemisphere reached an average latitude of 
56" N and, in some lowland areas, even 40" N latitude. 

Although only a small part of the ice sheet has been preserved in our time 
compared with the epoch of its maximum extent, even the present glaciation 
in the Antarctic and in Greenland suggests the tremendous size that an ice 
sheet can attain on continents. 

An explanation of the causes of the appearance and disappearance of this 
ice sheet is of crucial significance in explaining climatic change in Quaternary 
times. 

In the preceding section, we noted that contemporary climatic change is 
explained to a large extent by fluctuations of atmospheric transparency 
resulting from changes of volcanic activity. Moreover, it can be shown that 
while contemporary changes in volcanic activity produce fluctuations in total 
solar radiation of a few tenths of one per cent and fluctuations in global 
temperature of several tenths of a degree, the corresponding changes in 
radiation and temperature in the past reached much larger values. 

It is obvious that the number of volcanic eruptions during a given time 
interval will tend to vary from a constant mean level of volcanic activity for 
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purely statistical reasons, and the difference will tend to increase with the 
length of time under discussion. We also know that the level of volcanic 
activity in different geological epochs changed substantially with changes in 
the intensity of tectonic processes. 

Since fluctuations of volcanic activity produced by tectonic factors are 
distinguished by long time scales, a calculation of the effect of the associated 
radiation changes on the earth's thermal regime must also consider changes in 
the earth's albedo resulting from increases or decreases of the area occupied 
by ice cover on land and water. 

Measurements by meteorological satellites have shown that the albedo of 
the earth-atmosphere system in ice-covered areas is much greater than the 
albedo in ice-free regions, so that a change in glaciated area will tend to 
enhance the effect of radiation fluctuations on the thermal regime. 

In order to evaluate the influence of radiation changes on the temperature 
of latitudinal zones in view of the above-mentioned effect, we will make use 
of one of the numerical models of the mean latitudinal distribution of 
temperature. Since we are interested only in the distribution of temperature 
near the earth's surface, we can replace the available models, requiring 
cumbersome computations, with the simpler scheme stated in Chapters I11 
and IV. 

We will use the heat-balance equation relating to the earth-atmosphere 
system in the form 

Qs(1 - 4 - Is = C, (5.3) 

where Qs is the solar radiation reaching the outer boundary of the atmosphere, 
as is the albedo of the earth-atmosphere system, Is is the long-wave radiation 
at the outer boundary of the atmosphere, and C is the outgo of heat resulting 
from circulation of the atmosphere and hydrosphere, including the re- 
distribution of heat through the phase transformations of water. 

Let us consider that the value of the long-wave emission at the outer 
boundary of the atmosphere, expressed in kcal cm-2 month-l, is determined 
from the following formula (see Section 4, Chapter 111): 

Is = a + bT - (a1 + blT)n, (5.4) 

where T is the temperature at  the level of the earth's surface in degrees 
Celsius, n is the cloudiness in fractions of a unit, and u, b, a l ,  and b, are 
dimensional coefficients. Let us assume that 

c = y ( T  - TP), (5 .5 )  

where y = 0.235 kcalcm-2 month-l deg-l, Tis the mean annual temperature 
at a particular latitude, and Tp is the mean planetary temperature. 
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Taking into account that for the earth as a whole, C = 0, we can derive 
the following equations from Eqs. (5.3-5.5) : 

and 
Qs,<l - asp)  - a + aln 

b - bln 
T, = (5.7) 

where Qs, and asp relate to the planet as a whole. 
In Section 4 of Chapter 111, we used Eqs. (5.6) and (5.7) to calculate the 

mean annual latitudinal temperatures for the present climatic conditions of 
the Northern Hemisphere. Figure 89 shows the results of a similar calculation, 
which was made with an additional assumption-it ignores the effect on 
temperature of deviations of mean latitudinal values of cloudiness from the 
mean global value of 0.50. 

Such an assumption can be made because of the conclusion in Section 4 of 
Chapter 111 that cloudiness has a negligible effect on mean temperatures 
near the ground over a rather wide range of conditions. This inference, 
obtained on the basis of the relationship between albedo and cloudiness, 
means that the effect of cloudiness on absorbed short-wave radiation is often 
roughly compensated by its effect on outgoing long-wave radiation. 

The results of calculation of the mean latitudinal temperature distribution 
appear in curve To in Fig. 89. The results agree quite well with the observed 
temperatures at different latitudes, shown in curve T. This permits us to use 

30 r 

Fig. 89 Distribution of the mean latitudinal temperature. 
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this model for evaluation of the effect of radiation changes on the thermal 
regime and glaciation of the earth. 

The present permanent ice cover on water and land areas of the Arctic 
reaches, on the average, 72" N latitude. We will assume that with a decrease 
of solar radiation the surface of the ice sheet will expand with the increase in 
size of the area with a temperature equal to or less than the -10°C now 
observed at 72"N latitude. This assumption can be tested on the basis of data 
on the mean elevation of the snow line (that is, the limit of permanent snow 
cover) in different latitudes. Data given by Kalesnik (1947) together with the 
size of the vertical temperature gradient in mountains suggest that the mean 
annual temperature at the elevation of the mean latitudinal position of the 
snow line is approximately constant within middle latitudes and is roughly 
equal to -10". 

On the basis of observational data, we will assume that the albedo over 
the area covered by ice is 0.62. The value of the albedo along the margins 
of the ice cover is 0.50, according to available data. 

These albedo values suggest that with a change in the ice-covered area, 
the mean albedo of the earth changes by a magnitude of Acc = 0.30s, where 
the coefficient 0.30 is the difference between albedo with and without an ice 
cover, and s = 1q (where I is the ratio of the change in the ice-covered area 
to the total area of the Northern Hemisphere, and q is the ratio of mean 
radiation in the zone of change of ice area to the mean radiation for the 
entire hemisphere). 

I t  should be noted that when the ice sheet expands into lower latitudes, the 
values of albedo of ice-covered areas may vary somewhat from the values 
stated here. 

Several studies have established the fact that the albedo of the earth- 
atmosphere system is a function of the angle of incidence of the sun's rays, 
and decreases with an increase of the angle. Calculations by Shifrin et al. 
(1964) have shown that this relationship is relatively weak for the large values 
of the albedo typical of ice-covered areas. It is somewhat more significant 
in the case of ice-free areas, especially in the absence of cloud cover. 

A consideration of the effect of this relationship on the mean difference 
between albedo values with and without ice cover, based on data given by 
Shifrin et al., suggests that this difference diminishes by several hundredths 
in low latitudes, in comparison with high latitudes. 

In addition, the observed mean albedo in higher latitudes refers mainly to 
the reflective capacity of areas covered with sea ice, since the glaciated land 
area in the Arctic is relatively small. According to satellite data (Raschke et al., 
1968), the albedo over the Greenland ice sheet is substantially higher than 
the mean high-latitude albedo, and reaches 0.7-0.8. It  can therefore be 
assumed that an advance of the ice sheet into lower latitudes will produce a 
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slight increase in the mean albedo of the ice-covered area because of the 
development of large-scale continental glaciation. 

Since these two effects tend to cancel each other out in affecting the 
difference between the albedos with and without ice cover, we will use the 
above-mentioned value of that difference on the assumption that it is 
evidently not overstated. 

To take account of the effect of the change in glaciated area on the earth's 
mean annual temperature, we will use the following formula, derived from 
Eqs. (5.3) and (5.4) with Aa = 0.30s: 

where AT, is the change that occurs in the earth's temperature 
radiation Qs, changes by the increment AQs, . 

(5.8) 

when mean 

From Eqs. (5.3-5.6) and (5.8) we can derive a formula for the temperature 
at a particular latitude : 

+- ,CQ;P,, p* (1 - asp - 0.30s) - o.~os]}:(~ + b - b,n), (5.9) 

where T,' is the existing mean temperature of the earth. 
By using this formula and the values of Qs and s corresponding to given 

latitudes, we can calculate the position of the limit of glaciation for different 
values of AQs, /Qs , .  Equation (5.9) also can be used to compute the tem- 
perature distributions at various latitudes corresponding to these values. The 
results appear in Fig. 90, where the curves and correspond to tem- 
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Fig. 90 Dependence of temperature distribution on radiation. 
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70 

perature distributions when incoming radiation is reduced by l . O ~ o  and 1.5%. 
The calculation ignores heat exchange between the Northern and Southern 
Hemispheres, which is permissible in the case of similar changes in the thermal 
state of both hemispheres. 

Figure 91 shows the values of the mean global temperature T p ,  and the 
mean latitude +o to which glaciation extends, depending on relative changes 
in radiation during its gradual reduction. The figure shows that the influence 
of radiation changes on the thermal state becomes stronger as a result of 
expanding glaciation, so that the relationship becomes nonlinear. 

- -  
- 20 '\..z0 
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Fig. 91 
radiation. 

Dependence of the planetary temperature and the boundary of glaciation on 

- -  

- -10 - 
- -  

While a 1 %  change in radiation with constant albedo lowers the mean 
temperature by 1.2-1.5', a 1 %  change in radiation with a correspondingly 
changing albedo will lower the mean temperature by 5", and a 1.5% change 
in radiation will lower the temperature by 9". These reductions of temperature 
are accompanied by a southward advance of glaciation by 8-18' of latitude, 
a distance corresponding roughly to the advance of Quaternary glaciation. 
When radiation is reduced by 1.6%, the ice sheet reaches a mean latitude, 
about 50' N, after which it begins to advance southward all the way to the 
Equator as a result of autodevelopment. This is associated with a sharp 
decline of global temperature, down to several tens of degrees below zero. 

The conclusion that the earth would be completely covered by an ice 
sheet after the ice reaches a critical latitude follows from the calculation of 
the magnitude of the radiation decrease needed to insure a further southward 
advance of the ice toward the Equator. The calculation shows that if, as a 
result of a decline of radiation, the ice sheet were to occupy the entire surface 
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from the pole to the critical latitude, it would continue to advance toward 
the Equator at  the same lowered radiation value and, having reached still 
lower latitudes, it would continue to advance southward at  the now existing 
magnitudes of radiation, and even at  values exceeding the contemporary 
level. 

A similar conclusion based on other considerations was reached by Opik 
(1953), who thought, however, that glaciation of the earth would require a 
substantial reduction of the solar constant. The possibility of the stable 
existence of complete glaciation of the earth at the contemporary income of 
radiation was suggested in our previous work (Budyko, 1962, 1966). 

Of interest is a comparison of the above-stated conclusions concerning the 
unstable character of the contemporary climate of the earth (Budyko, 1968) 
with the results of Sellers' investigation (1969), in which the equation of heat 
balance of the earth-atmosphere system was also used to construct a model 
of the mean latitudinal distribution of air temperature. 

Sellers calculated in his work the effect of polar ice on the thermal state 
for various values of albedo difference with and without ice. 

It follows from these calculations that for the considered case of the 
albedo increase of 0.30 that results from the effect of the ice sheets near both 
poles, the air temperature in the Central Arctic would decrease by 13" and 
in lower latitudes by 2". These values agree well with the results of our 
calculation (see Fig. 92). 

Having calculated the value of the decrease in incoming solar radiation 
that is sufficient for complete glaciation of the earth, Sellers obtained a value 
equal to 2%, which is also close to the value of 1.6% obtained above. 

The good agreement of the basic results of the calculations discussed is 
interesting, because although the basic idea of the climate models used here 
is the same, the corresponding calculation schemes, based on many different 
assumptions, are completely different. 

It thus turns out that the contemporary state of glaciation of the earth is 
highly unstable. Relatively small changes in radiation, of the order of 1-1.5y0, 
would be sufficient to expand the ice cover over land and water areas as far 
as the middle latitudes. Such radiation changes would be only a few times 
greater than the fluctuations that were observed as a result of varying volcanic 
activity over the past century. 

In view of the fact that the level of volcanic activity over long periods in 
the past has changed several fold (Ronov, 1959), the effect of prolonged 
fluctuations of volcanic activity may be regarded as one of the factors of the 
spread of glaciation. 

This conclusion is supported by the fact that the principal glacial epochs 
of the Quaternary period corresponded to substantial increases in volcanic 
activity in several regions of the lower latitudes (Fuchs and Patterson, 1947). 
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Although we cannot deal here with the many other hypotheses that have 
been advanced to explain the Quaternary glaciations, we must dwell at  least 
on the widespread view that changes in elements of the earth's orbit and 
the inclination of the earth's axis had a decisive effect on these glaciations. 

This view, advanced by Milankovich (1930 and elsewhere) and others, is 
shared by many specialists in Quaternary glaciation. 

We know that changes in elements of the orbit produce a significant re- 
distribution of the amounts of radiation coming in at various latitudes and 
in different seasons. Milankovich concluded, on the basis of these changes 
and by using a model of the latitudinal distribution of temperature, that 
changes of orbital elements produce significant temperature changes in the 
middle and high latitudes that might result in glaciation. 

It must be pointed out that Milankovich's model of temperature distri- 
bution neglected the horizontal transfer of heat in the atmosphere and 
hydrosphere, so that it overstated the effect on the thermal state of latitudinal 
zones produced by changes in radiation in a particular latitudinal zone. 

On the other hand, the above statement about the great instability of the 
thermal regime in the presence of polar ice cover allows the possibility of 
large changes in climatic regime with small fluctuations in incoming radiation. 

To test the Milankovich hypothesis, we used our computational model to 
evaluate the changes in the thermal regime and glaciation for the case of the 
significant change of orbital elements that occurred 22,000 years ago and is 
usually associated with the last glaciation. In this calculation, we determined 
the southward advance of the ice sheet that would correspond to changes 
in the mean annual values of radiation at various latitudes based on data in 
the Milankovich study for that particular period. 

The calculation showed that in this case, the boundary of glaciation would 
have moved southward by an amount slightly less than 1" of latitude. This 
value is an entire order of magnitude less than the actual advance of the ice 
sheet during the last glaciation. Such a result, however, is not sufficient for 
an evaluation of this hypothesis, since fundamentally the ice sheet is affected 
by a change in summer sums of radiation, rather than in annual sums. That 
change during the period in question at latitudes of 65-75" N exceeds the 
change in annual values by a factor of 2-3. 

Using the model provided in Chapter IV of this book, we evaluated the 
effect of changes in summer values of radiation on the position of the ice 
cover. The displacements of the ice limit obtained in this calculation turned 
out close to those observed during the Pleistocene. This enables one to con- 
sider that astronomic factors exerted the major influence on the development 
of Quaternary glaciation (Budyko, 1972). 
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The climate of pre-Quaternary times 

The Quaternary was preceded by the Mesozoic era and the Tertiary period, 
which together lasted about 200 million years. 

Paleogeographic research (Bowen, 1966; Sinitsyn, 1967) has shown that 
the climate during this time was relatively warm at all latitudes and that no 
glaciations took place. 

A change in climate began in the Tertiary period, which lasted about 70 
million years. This involved at  first a slow and later a more rapid drop of 
temperature in high and middle latitudes. Although this temperature drop 
was not constant and during some stages apparently gave way to a warming 
trend, a general tendency toward a reduction of temperature predominated, 
and by the end of the Tertiary period (in the Pliocene), the temperature 
contrast between the Equator and the poles reached a significant magnitude. 

Let us now deal with the question why fluctuations in volcanic activity, 
which have taken place throughout the history of the earth, did not produce 
glaciation over the period of hundreds of millions of years preceding the 
Quaternary. 

We know from geological investigations that a gradual rise in the level 
of the continents took place in pre-Quaternary times. This led to a weakening 
of the circulation of water in the oceans between low and high latitudes. 

I t  was established even in the 1940s ,(Budyko, 1949) that the transfer of 
heat between the Equator and the poles in the hydrosphere amounts to a 
significant fraction of the corresponding transfer in the atmosphere, so that 
changes in oceanic circulation are bound to affect the thermal state of the 
high and middle latitudes. 

We can clarify this question by using our computation technique to calcu- 
late temperature distribution in the case of the absence of ice in the high 
latitudes for various intensities of meridional heat exchange. 

An evaluation of the polar-ice effect on the thermal regime of high latitudes 
was provided in the previous chapter. 

The effect of polar ice on the thermal state at different latitudes is presented 
in Fig. 92, where curve To represents the contemporary temperature distri- 
bution and curve T, the temperature distribution in the absence of polar ice. 
In the latter case, the albedo of the high latitudes is assumed to be equal to 
the albedo of ice-free ocean areas, and the coefficient y is taken equal to the 
value found earlier of 0.235 kcal cm-2 month-l deg-l. 

I t  is evident from Fig. 92 that polar ice produces only a slight change in 
low-latitude temperatures, but significantly reduces the temperature of the 
high latitudes. As a result, the mean temperature difference between the pole 
and the Equator is significantly reduced [if ice is absent]. The mean annual 
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temperature in the polar zone in an ice-free situation turns out to be only a 
few degrees below zero. 

It may be assumed, however, that meridional heat transfer in a polar ocean 
would be greater in an ice-free situation than under contemporary conditions, 
because the ocean, now isolated from the atmosphere by the ice cover, would 
give off a substantial amount of heat to the atmosphere through turbulent 
heat exchange. 

If we consider that an ice-free Arctic Ocean would receive an additional 
amount of heat equal to the mean amount that now reaches the ice-free 
regions of the high-latitude oceans, then the mean air temperature in the 
Arctic calculated by our technique, assuming the additional influx of heat, 
would actually equal a few degrees above zero. 

301- 
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Fig. 92 Influence of ice cover on the temperature distribution. 

It is evident that when the mean annual temperature in an ice-free Central 
Arctic is near the freezing point of water, relatively small anomalies in in- 
coming radiation may lead to a restoration of the ice cover. 

The contemporary distribution of land and water on the earth thus makes 
possible the existence of two climatic states, the first involving the presence of 
polar ice and a strong thermal contrast between the pole and the Equator, 
and the second, the absence of ice and a small mean meridional temperature 
gradient. 

Both states are unstable, because relatively small fluctuations in the 
circulation of the atmosphere and hydrosphere may produce either the freez- 
ing of an ice-free polar ocean or the melting of existing polar ice. The proba- 
bility of a transition from one state to the other increases with the instability 
of incoming radiation. This climatic characteristic apparently accounted for 
the principal regularities of climatic change in the Quaternary. 
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As noted in a previous study (Budyko, 1967), the Arctic basin was joined 
to the low-latitude oceans in the Mesozoic era and the early Tertiary period 
by much broader straits than in the Quaternary. This evidently meant that 
the influx of heat into the Arctic basin by ocean currents exceeded the magni- 
tudes observed in high latitudes under contemporary conditions. If this 
influx exceeded its contemporary mean for ice-free areas by a factor of 1.5-2, 
then, according to calculation by the aforementioned formulas, the mean 
annual temperature in the Arctic reached lo", thus excluding the possibility 
of glaciation even with significant anomalies in radiation. 

During the Tertiary period, the Arctic basin became gradually more 
isolated from the tropical oceans. This produced a temperature drop at the 
pole and brought the temperature distribution closer to the values characteris- 
tic of the interglacial epochs in the Quaternary. 

Intensive heat exchange in the hydrosphere thus seems to explain satis- 
factorily the relatively high temperatures in high and middle latitudes during 
the Mesozoic era and much of the Tertiary period. However, the reasons that 
the earth's mean temperature during this period was higher than in the 
contemporary epoch are less clear. 

By using Eq. (5.7) and the derived value for the albedo of the polar region, 
we find that the present ice cover reduces the mean temperature of the earth's 
surface by approximately 2°C. This magnitude is less than the difference 
between the temperature of the Mesozoic and early Tertiary as established 
by paleoclimatic investigations, and the temperature observed at  the present 
time. 

Such a discrepancy cannot be explained by changes in the circulation of the 
hydrosphere, because the mean temperature of the earth's surface is not a 
function of the intensity of horizontal heat exchange. 

It might be conjectured, however, that atmospheric transparency for 
long-wave radiation in the Mesozoic and early Tertiary was lower than in 
the contemporary epoch because of a high carbon-dioxide content in the 
atmosphere. This conjecture agrees with paleographic data and should 
therefore be tested by the methods of physical climatology. 

We know less about climatic regularities in the Paleozoic than in Mesozoic 
and Cenozoic times. One of the paradoxical aspects of Paleozoic climate 
was the existence of large glaciations in the lower latitudes, especially the 
Permian glaciation. All kinds of hypotheses have been advanced to explain 
this phenomenon, including the idea of a significant displacement of the 
earth's poles and the movement of continents. 

We have pointed out earlier (Budyko, 1961) that the great reflective capacity 
of ice makes large glaciations possible at  any latitude. 

This possibility derives, in particular, from the fact that absorbed radiation 
in an area of large-scale glaciation at the Equator could be the same as the 
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absorbed radiation at an ice-free pole. If we take the albedo for an ice-free 
Arctic basin as 0.30, we find that the mean annual value of absorbed radiation 
at latitude 80" equals 7.7 kcal cm-2 month-l. The same value of absorbed 
radiation would be observed at the Equator for an albedo of 0.70, which 
would be an entirely possible value for albedo in an extensive region of 
continental glaciation. 

The mean latitudinal distribution of temperature with equatorial glaciation 
can be calculated by the technique given earlier. 

We will assume that this glaciation occurred in a latitudinal zone near the 
Equator covering 5% of the total area of the hemisphere. With an albedo 
of 0.70 for that zone, the weighted mean value of the albedo of the earth 
would drop by 0.023, compared with conditions without glaciation. 

The latitudinal distribution of the mean annual temperature, as calculated 
by Eq. (5.9) with the coefficient y = 0.40 kcal cm-2 month-l deg-l, is shown 
in Fig. 93. According to the figure, the mean annual temperature in the 

P 

Fig. 93 Temperature distribution with equatorial glaciation. 

glaciated zone would be close to O'C, which suggests the possibility of a 
stable equatorial ice sheet even on plains lying at sea level. The part of the 
ice sheet situated above that level would evidently be under negative tem- 
perat ures. 

I t  should be noted that the temperature at the pole would meanwhile 
remain positive, so that polar glaciation would not be inevitable. 

The possibility that stable large-scale glaciation could exist at low latitudes 
does not invalidate the hypotheses of continental drift and polar motion 
during these periods. It simply means that any discussion of these hypotheses, 
which are highly significant for a proper understanding of the past history 
of the earth, should not assume that centers of large glaciations must neces- 
sarily coincide with the poles. 

It was shown above that the effect of individual explosive eruptions 
on the earth's surface corresponds to a temperature drop of the order of 
several tenths of a degree. It is easy to understand that the earth's temperature 
would drop to a much greater extent if many eruptions of an explosive type 
were to coincide within a short time interval. 
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It is obvious that such coincidences are not only possible but inevitable 
over long periods of time. The question concerning the effect of the coinci- 
dence of many volcanic eruptions on the temperature will be discussed in 
Chapter IX, where we will point out that in such cases, the mean temperature 
near the earth’s surface may drop by a value no less than 5-10’. 

It must be noted that during a stable climatic regime with a relatively 
small temperature difference between the poles and the Equator, as existed 
during Mesozoic and Tertiary times, even such a large short-term reduction in 
temperature could not lead to glaciation because of the high initial tem- 
peratures in the polar latitudes. 

It should be pointed out in conclusion that the data presented in this 
chapter confirm the significant role that the change of relief, volcanic activity, 
and the position of the earth’s surface relative to the sun played in climatic 
conditions of the past. One gains the impression that these factors may help 
explain many aspects of climatic change over the last hundreds of millions 
of years. This does not exclude the possibility that other factors may also have 
affected climate, especially in the earlier stages of the earth’s geological 
history. 
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Climatic Factors of Geographical Zonality 

1. The Effect of Climatic Conditions on Geographical Processes 

The relations of the climatic, hydrologic, soil, exogenous geomorpho- 
logical, and biological processes have been investigated in many studies, 
among which we must distinguish those of Grigor’ev (1946, 1954, and else- 
where). It was established in these studies that such relations are based on the 
exchange of energy and several forms of matter (water, carbon dioxide, 
nitrogen, and so on) between the atmosphere, hydrosphere, lithosphere, and 
living organisms. 

As we pointed out earlier (Budyko, 1956), the general stock of all categories 
of organic and mineral matter in the geographic envelope as a whole, as 
well as the energy supply, changes relatively slowly in time and can be con- 
sidered practically constant over periods of the order of decades. 

The relatively slow variability of the quantity of matter in the geographic 
envelope is associated with a negligible (compared to the available stocks) 
intensity of the exchange of matter between the geographic envelope, on the 
one hand, and the deep layers of the lithosphere or space, on the other hand. 
The energy supply in the geographic envelope, on the contrary, is main- 
tained approximately at the same level in the presence of an intensive exchange 
of energy with space, in which the income of absorbed solar radiation equals 
the outgo of heat energy by long-wave emission from the earth. 
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The approximate stability of levels of different categories of matter and 
energy in the geographic envelope as a whole is associated with a substantial 
and relatively rapid variability of these levels in  local sectors of the geographic 
mantle. Such variability is partially of a periodic character (diurnal and 
annual periods) and partially aperiodic. 

The regularities of changes in the stocks of matter and energy in the 
geographic envelope are determined, to a considerable extent, by the con- 
ditions of climatic energetics, that is, by conditions of the income of solar 
radiation and its subsequent transformations in the processes of heat ex- 
change, changes in phase states of water, and so on. 

Let us consider the general picture of the interrelation between climatic 
factors and different processes forming the geographic environment. 

The dependence of the hydrologic regime of the land upon the climate was 
established by Voeikov (1884). 

The fundamental characteristic of the water regime on the continents is 
the value of run-off, which varies greatly in space and time. The mean annual 
sum of run-off equals the difference between precipitation and evaporation 
from the surface of a river basin, this evaporation depending essentially on 
precipitation, incoming radiation, and thermal conditions. 

At the same time, evaporation (and consequently run-off) depends on the 
form of relief, vegetation cover, and several other factors. However, as 
Ol'dekop (1911) established for river basins of large area, the effect of cli- 
matic factors on evaporation and run-off is predominant. 

The opposite dependence-of climate on the hydrologic regime-also 
exists, but is much weaker. A change in evaporation from the land surface 
affects the water circulation in the atmosphere and the amounts of pre- 
cipitation; however, the dependence of precipitation on local evaporation is 
comparatively small and becomes noticeable only for changes of evaporation 
over very extensive areas, of the size of continents. Thus, if significant climatic 
changes modify the hydrologic regime abruptly, the changes in this regime 
not associated with climate usually have little effect on climatic conditions. 

The relationship between climate and the hydrologic regime of the oceans 
exhibits quite a different character. While the regime of ocean currents 
depends substantially on wind, radiation, and thermal conditions at  the 
surface of the oceans, the heat transfer by currents in its turn represents an 
important climate-forming factor. In the regions of warm and cold marine 
currents, climatic conditions are sharply different. In some cases, these 
changes extend over great distances. 

Climate is greatly affected by the warming and cooling of the upper layers 
of ocean water during the annual march in extratropical latitudes. The 
change in heat content of this water called forth by changes in the meteoro- 
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logical regime itself produces a great influence on atmospheric processes. 
In this connection, Shuleikin (1941) pointed out that for an explanation 

of the formation of climate, it is necessary to examine jointly the physical 
processes in the atmosphere and oceans as a single complex, which determines 
the conditions of the hydrometeorologic regime on our planet. 

We should note that some elements of the oceanic hydrologic regime that 
depend on climate affect atmospheric processes very little. These include, 
for example, the salinity of the surface layer of water, which is closely con- 
nected with the difference between precipitation and evaporation. However, 
practically all the physical processes in the ocean depend to an important 
degree on climate, under the influence of which the hydrometeorologic regime 
at  the ocean surface takes shape. 

Because of the great thermal inertia of oceans and the slow movements of 
the water masses at  considerable depth, many oceanic processes are deter- 
mined not only by climatic conditions of our epoch but also by conditions of 
past climates. Thus, in particular, the comparatively low temperatures of 
deep water are possibly a consequence of the general cooling of the earth that 
took place during the last glacial epoch. 

The effect of climatic conditions on the natural vegetation cover of land 
is well known. Among the meteorological factors that affect the development 
of plants, the most important are the thermal regime, radiation regime, and 
conditions of moisture. 

I t  seems probable that many characteristics of wild plants are determined 
mainly by climatic conditions to which these plants have become adapted 
during their long evolution. Such a viewpoint is confirmed, for example, by 
the close correspondence of the boundaries of geobotanic zones to the distri- 
bution of climatic indices characterizing the regimes of heat, radiation, and 
moisture. 

Independent of climatic conditions, the influence on vegetation of such 
nonclimatic factors as, for example, soil is observed only in small areas, 
where the zonal distribution of these factors breaks down. 

The relations of the animal world of the land to climatic factors have a dual 
character. On the one hand, all animals have their own limits of climatic 
conditions that are favorable for their existence. On the other hand, animals 
are in close connection with the natural vegetation cover by means of various 
relationships, among which the trophic, that is, the energetic connections, 
are especially important. 

The energy of solar radiation absorbed by autotrophic plants during 
photosynthesis is then consumed by various living organisms as the founda- 
tion of their existence. The transfer of this energy from one organism to 
another, which is mainly carried out in the process of nutrition, is the basis 
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of many ecological regularities that connect the animal world with natural 
vegetation. Therefore, the determinant effect of climatic factors on geo- 
botanic zonality frequently extends to the zonality of the animal world. 

The effect of hydrometeorologic factors on biologic processes in the ocean 
is in general analogous to the corresponding effect on land. It can be noted that 
because of the smaller variability of physical conditions in ocean water, 
many marine organisms are more sensitive to fluctuations in external con- 
ditions and can exist only within a narrow range of changes in the conditions 
of the external medium. 

Although the influence of the activity of living organisms on climate is 
small in general, in some cases it becomes noticeable. Thus, for example, 
with a dense cover of vegetation, the transpiration of plants turns out to be 
a substantial portion of the total evaporation from the land surface, which is 
associated with a considerable expenditure of energy at  the earth’s surface. 
However, because of climatic conditioning of geobotanic zonality, vegeta- 
tion cover even in this case does not become an independent climate-forming 
factor. 

The vegetation cover has much more greatly affected the evolution of the 
atmosphere, the chemical composition of which is determined to a consider- 
able extent by its long interaction with photosynthesizing vegetation. Biologic 
processes have in this way played an important role in the evolution of climates 
of our planet. 

Quite apart stands the question of the effect of man’s activities on climate. 
I t  will be considered in the last chapter of this book. 

The geographic zonality of soils, like geobotanic zonality, is closely con- 
nected with climatic conditions, as was noted by Dokuchaev (1900). The 
reasons for the dependence of soil types on climate are explained, on the one 
hand, by the great influence of vegetation on soil formation and, on the other 
hand, by the direct dependence of biological, physical, and chemical processes 
in the soil on its temperature, humidity, and regime of infiltrating water. 

In recent studies, a relationship has been established between surface 
geomorphological processes and geographic zonality dependent on climatic 
factors. Such a dependence is natural, since the process of denudation (the 
outgo of mineral matter of the upper layers of the lithosphere as a result of 
external factors acting on it) is often determined by the regime of run-off, 
temperature of the earth’s surface, wind regime, and other elements of the 
hydrometeorologic regime. 

It must be indicated that exogenous geomorphologic processes have played 
a certain role in the evolution of climate, because the changes in the relief of 
the earth resulting from denudation might have led to substantial changes in 
the circulation of the atmosphere. 

Climatic factors thus play a particular role in the closely connected complex 
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of natural processes that form the geographic milieu of our planet. They 
produce a great, often a determining, influence on all the basic processes 
developing within the geographic envelope of the earth. Therefore, study of the 
interactions between climate and different natural processes makes possible a 
clarification of general regularities determining the fundamental properties 
of the geographical medium. 

The works of Gerasimov (1945, 1960, and others), Volobuev (1953, and 
elsewhere), Sochava (1948, 1970, and elsewhere), Kalesnik (1947, 1970, and 
elsewhere), and other authors have contributed much to the investigation of 
these interrelations. The results of these studies, together with the afore- 
mentioned papers of Grigor’ev (1946, 1954), show that for study of all the 
geographic processes, it is necessary to establish their relations with climatic 
factors. 

I t  was noted above that the leading role of climatic factors in the complex 
of geographic processes is explained, to a considerable extent, by the fact that 
solar energy is practically the unique source of energy for all these processes. 
Absorption of this energy and transformation of it in the atmosphere, at  the 
earth’s surface, and in the hydrosphere are extremely important for all the 
elements of the geographical environment. 

We have already indicated that of the total quantity of solar energy re- 
ceived by the earth as a planet, the main part is absorbed at  the earth‘s 
surface. As a result, the earth’s surface is a main source of energy for the 
geographical envelope. 

Since the interaction of most natural processes in the geographic envelope 
also reaches its greatest intensity near the level of the earth’s surface (where 
run-off is formed, the process of soil formation is developed, the principal 
mass of living organic matter is concentrated, and so on), then it is evident 
that consideration of the transformation of solar energy at the earth’s surface 
must have special importance for explaining the mechanism of interactions 
among many geographic processes. 

Taking this into account, let us discuss the relations of components of the 
heat balance at  the earth‘s surface to different geographic processes. 

2. Interrelation Between the Heat and Water Balances of the Land 

We will dwell first on the question of the relationship between the hydro- 
logic regime and the energetic factors of climate. 

An important characteristic of the hydrologic regime on land is the norm 
of run-off-the amount of water running off, on the average, during a year 
from a unit of land surface in the form of different horizontal flows of water. 
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An important index of hydrologic conditions is the run-off coefficient-the 
ratio of the run-off norm to the annual sum of precipitation. 

Since the formation of annual run-off depends, to a great extent, on the 
evaporation process, which simultaneously is one of the basic processes of 
the transformation of solar energy at the earth’s surface, it is evident that 
the run-off norm and the run-off coefficient are connected in a definite way 
with the basic components of the heat balance. The study of this connection 
must contribute to the clarification of regularities determining the features of 
the hydrologic regime of different geographic zones. 

The relationship between the components of the heat and water balances 
of the land has been established on the basis of the following considerations 
(Budyko, 1948). 

I t  is obvious that the mean sums of evaporation from the land surface E 
depend on the amount of precipitation and the income of solar energy, 
evaporation increasing with an increase in precipitation r and the radiation 
balance [surplus] R. 

With great dryness of the soil, all the water received in the form of pre- 
cipitation is held back by molecular forces on the soil particles and is finally 
expended in evaporation. Under such conditions (which, for example, are 
observed in deserts), the run-off coefficient f / r  approaches zero. 

Taking into account that the mean dryness of the soil increases with an 
increase in the radiative income of heat and with a decrease in the amount 
of precipitation, we can deduce that 

f - t ~  or E - t l  as--m. R 
r r Lr 

With a decrease in the ratio R/Lr, which we will refer to as the radiative 
index of dryness, the values of E/r will diminish (a certain amount of run-off 
appears), and with sufficiently large total precipitation and sufficiently small 
income of radiative heat, a state of abundant moisture in the upper layer of 
the soil will be reached. In this case, the probable maximum heat energy 
from available resources will be converted in evaporation. The value of this 
maximum outgo can be evaluated by considering the valve character of the 
turbulent sensible-heat exchange between the underlying surface and the 
atmosphere. 

In Chapter I1 of this book, it was pointed out that the eddy heat con- 
ductivity of the lower layer of air depends substantially on the direction of the 
vertical turbulent heat flux. In cases when the turbulent flux is directed from 
the earth to the atmosphere, a comparatively high intensity of turbulent 
mixing permits the flux to reach large magnitudes in comparison with the 
[other] principal components of the radiation and heat balances. With the 
reverse direction of the turbulent flux, the inversion of the temperature 
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distribution reduces the intensity of exchange considerably, and as a result 
the turbulent sensible-heat flux turns out to be relatively small. 

The action of the valve effect on the turbulent exchange of sensible heat is 
apparent from the graphs of the annual and diurnal march of the sensible- 
heat flux presented in Chapter 111. 

In wintertime in middle latitudes, due to the predominance of inversion 
conditions in the [vertical] distribution of temperature, the sensible-heat flux 
is small compared to the maximum values of summer, which are determined 
by conditions of the daytime superadiabatic distribution of temperature in the 
air layer near the surface. An analogous regularity is noted in the diurnal 
march, in comparing the values of the sensible-heat flux for night and day. 

Because of the valve effect, the annual sums of turbulent sensible-heat flux 
turn out to be positive, that is, the mean sensible-heat flux is directed from 
the earth’s surface to the atmosphere in almost all the climatic zones of the 
continents. 

Since the annual sums of the turbulent sensible-heat flux cannot provide a 
significant input of energy to the earth’s surface, we must assume that heat 
outgo for evaporation is compensated only by the radiation balance. 
For this reason, the upper limit of increase of the value L E  is equal to R. 

In other words, we may consider that for conditions of abundant moisture, 

(6.2) 
R 
Lr L E + R  at--0. 

Conditions (6.1) and (6.2) determine the form of the function 0: 

-=@($-) E at--+0 R a n d a t  --+co. R 
r Lr Lr 

It must be indicated that long ago, Schreiber (1904) and Ol’dekop (1911), 
on the basis of analyzing materials on precipitation and run-off, called atten- 
tion to the existence of a certain relationship between the components of the 
water balance. They expressed it in the following formulas: 

E = r[l - exp(-E,/r)] (6.4) 
(Schreiber’s equation, modified by Ol’dekop, in which Eo is the greatest 
possible value of evaporation under the given conditions) and 

E = E,, tanh (r/Eo) (6.5) 

(Ol’dekop’s equation, in which tanh is the hyperbolic tangent). 
It is easy to see that both these formulas will satisfy conditions (6.1) and 

(6.2), if, according to the considerations expressed, we assume E, = R/L. 
It must be borne in mind that the value of possible evaporation from a given 
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terrain will determine a radiation balance corresponding to conditions of 
sufficient moisture. The value of radiation balance for conditions of sufficient 
moisture may differ from the balance values for the same terrain with a 
deficiency in moisture. 

Let us examine the dependence of the radiation balance at  the earth’s 
surface on moisture conditions. In most geographical regions with a more or 
less humid climate, the albedo of the earth’s surface varies relatively little 
with changes in moisture conditions. Since, under conditions of sufficient 
moisture, the mean difference between the temperatures of the earth’s surface 
and the air are small, it turns out that the values of potential evaporation 
[potential evapotranspiration] can be calculated by the radiation balance 
determined for the actual state of the earth’s surface. 

Another kind of situation is observed under conditions of an arid climate, 
when, together with moistening of the terrain, there is a change in both the 
albedo and the temperature of the earth’s surface, which, with sufficient 
moisture, approaches air temperature. I t  is evident that for determining 
potential evaporation in this case, it is expedient to use the value of radiation 
balance found at an albedo equal to that of the moistened surface and at  a 
value of net long-wave radiation calculated from air temperature. This 
comment should be considered when determining potential evaporation 
under conditions of a dry climate. At the same time, as will be shown in 
Section 3 of this chapter, in using the equation of relationship, consideration 
of the effect of moistening on the radiation balance does not noticeably in- 
fluence the results of the calculation. 

In earlier works, various kinds of factual material were used to test these 
considerations concerning the character of the dependence of ratio Elr on 
RILr for small and large values of the latter parameter. 

As an example, we present here a comparison of values of the radiative 
dryness index RILr with values of the ratio Elr, according to data for river 
basins of different continents (excluding mountain regions). 

In Fig. 94, the dependence of Elr on RILr for small values of RILr, accord- 
ing to condition (6.2), is shown by line OA,  and for large values of RILr, 
according to condition (6.1), by line AB. The points in this figure represent 
mean values of the ratio Elr obtained from water-balance data by averaging 
the values of Elr over certain intervals of parameter RILr. The experimental 
points show that actually a smooth transition from line O A  to line A B  is 
observed, which, as suggested earlier, shows the limiting condition of the 
dependence of Elr on RILr. 

In order to present Eq. (6.3) in an analytical form, one can use formulas 
analogous to Eqs. (6.4) and (6.5): 

E = r [ l  - exp(-R/Lr)] (6.6) 
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Fig. 94 Dependence of the ratio of evaporation to precipitation upon the radiative 
index of dryness. \ 

and 
E = (R/L) tanh(Lr/R). 

It is also possible to employ the geometric mean of the right-hand sides of 
these relations, 

Lr 
R 1 - cosh- + sinh- Lr 

(cosh and sinh are the hyperbolic cosine and sine). This is presented in Fig. 94 
by a curve that agrees slightly better with the experimental data than the first 
two curves. Equation (6.8) establishes the dependence of mean annual evap- 
oration on the radiation balance. 

Since the run-off norm equals the difference between the norms of precipi- 
tation and evaporation, it is obvious that by means of this formula, one can 
also determine the run-off from data on precipitation and the radiation 
balance. 

The formulas for run-off and the run-off coefficient following from Eq. 
(6.8) have the form 

(6.9) Lr f = r -  [ g t a n h % ( l  -cosh-+ssinh- Lr R 

and 

(6.10) R 1 - cosh - + sinh - r Lr 

Let us look at the physical meaning of the equation of relationship between 
the heat and water balances. I t  is apparent from Fig. 94 that the dependence 
that lies at the base of this equation is in general determined by two limiting 
conditions, one of which is based on the idea of the valve mechanism of the 
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turbulent exchange of sensible heat in the surface layer of air, and the other 
on the obvious fact of the smallness of the run-off coefficient in conditions of 
an arid climate. The choice of one or another interpolation function for the 
transition from the first of these conditions to the second is not very import- 
ant, since, over most of the range of variation in the parameters of the 
relationship equation, the appropriate relation deviates little from one or the 
other boundary condition. 

Thus, although the equation of relationship is a semiempirical relation, the 
role of empirical data in its formulation is small in comparison to the general 
considerations mentioned above. We note that the equation of relationship 
is a supplementary relation, independent of the equations of the heat and 
water balances. For this reason, there appears a possibility of joint utilization 
of the equations in geographic investigations. 

Equations (6.9) and (6. lo), establishing the relationship between the com- 
ponents of the heat and water balances, have been tested in a number of 
investigations. Among them, we will mention calculations of the run-off 
coefficient for European rivers (Budyko, 1951a). For 29 rivers with drainage 
areas exceeding 10,000 km2, the mean error in determining the run-off coeffi- 
cient amounted to 0.04, this coefficient varying from 0.13 to 0.64. The size of 
the relative error in calculation of the run-off coefficient for rivers with moder- 
ate run-off coefficients (more than 0.30) equaled 7%, which was close to the 
accuracy of measurements of precipitation and run-off. It follows that in 
large basins with moderate run-off coefficients, the deviation between 
“climatic” and actual run-off is insignificant, and in several cases could not 
be found, considering the accuracy in determining precipitation and run-off. 

A more complete test of the equation of relationship between the heat and 
water balances on land was performed on the basis of data for 1200 regions 
for which evaporation was determined from the water balance as the differ- 
ence between precipitation and run-off (Budyko and Zubenok, 1961). I t  was 
established that the mean discrepancy between the ratio of evaporation to 
precipitation calculated from the equation of relationship and that derived 
by the water balance amounted to 10%. 

In this paper, it was pointed out that in certain cases, systematic deviations 
from the mean dependence presented by the equation of relationship are 
observed. The character of these deviations depends on features of the annual 
march of potential evaporation [potential evapotranspiration] and pre- 
cipitation. With a parallel change in the monthly values of potential evapora- 
tion and precipitation, the mean annual values of the ratio of evaporation 
to precipitation increase slightly. With inverse changes of potential evapora- 
tion and precipitation (when the increase of potential evaporation during its 
annual march coincides with a decline of precipitation), mean values of the 
ratio of evaporation to precipitation decrease. In most cases, these deviations 
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Fig. 95 Dependence of run-off on precipitation and the radiation balance. 

are within the range of the accuracy of evaporation calculated by the equation 
of relationship. 

In papers of Bagrov (1953, 1954), Mezentsev (1955), Mezentsev and 
Karnatsevich (1969), and other authors, different ways are proposed to 
develop the equation of relationship to take account of the effect of additional 
factors on the components of the water balance. 

The equation of relationship permits us to get a general idea of the form 
of the dependence of run-off and evaporation on the annual sums of pre- 
cipitation and radiation balance. The appropriate relations are presented in 
graphical form in Figs. 95 and 96. These regularities explain a number of 
empirical relations of run-off to precipitation that were established in earlier 
studies. 

On the basis of the equation of relationship, the dependence of run-off 
on precipitation for radiation-balance values corresponding to the conditions 
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Fig. 96 Dependence of evaporation on precipitation and the radiation balance. 
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of a given locality can be constructed. This dependence, calculated for the 
mean conditions of the European plain, is presented in Fig. 97 as curve A .  
For comparison, the following are also presented in this figure: 

1. The empirical relationship of Keller (1906), which associates the 
run-off norm with precipitation according to observational material 
obtained from rivers of Western Europe (line B ) ;  

2. The empirical curve of Sokolovskii (1936), which relates run-off with 
precipitation according to observational material obtained from 
rivers of Eastern Europe (curve C ) .  

The good agreement of the relationship equation with these associations 
confirms once more its universal character. 
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Fig. 97 Dependence of run-off on precipitation. 

On the basis of the equation of relationship, one can also explain a con- 
siderable dispersion in the relations of run-off to precipitation in data for 
different regions, which can be found in deriving the mean empirical relations 
(Poliakov, 1946). A considerable variability of the radiation balance in 
middle latitudes is the reason for the fact that run-off from basins with a 
large radiation balance (that is, in more southern regions) turns out much 
less than from basins with a smaller radiation balance (that is, in more 
northern regions) with the same precipitation. 

The variation in run-off with an increase of precipitation (dfldr) changes 
in the same way. According to the equation of relationship, it must be greater 
in northern basins than in southern. This regularity agrees well with the 
factual data. 

Among other possible applications of the equation of relationship to the 
study of regularities in the run-off regime, we point out the question of change 
of run-off in mountain regions. It is well known that up to great altitudes in 
mountains, an increase of run-off with altitude accompanying the increase 
in precipitation is usually observed. 



2 THE HEAT AND WATER BALANCES OF THE LAND 329 

In Fig. 98 are presented data on the change in run-off and precipitation 
with altitude for the Aar River, up to an altitude of 2 km (L'vovich, 1945), 
and data on run-off and precipitation for the five classes of mountain charac- 
ter of the basin of the Tissa River (Poliakov, 1946). 

Assuming that for not too great altitudes the value of the radiation balance 
changes little with altitude (in such conditions, slight increases of incoming 
radiation and of net long-wave radiation take place, which approximately 
compensate each other), and taking into account the given data of precipi- 
tation, one can calculate the appropriate values of run-off with the use of the 
relationship equation. The results of this calculation are shown in Fig. 98 
as broken lines, which agree closely with the given data on measurements of 
run-off. 

1000 2000 v 1v 111 11 1 
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Fig. 98 Change in run-off with altitude. a-Aar River, b-Tissa River; l-precipi- 
tation, 2-measured run-off, 3--calculated run-off. 

Thus, it can be concluded that for the mountain basins of the Aar River 
(up to an altitude of 2 km) and the Tissa River, the observed changes in 
total run-off and the run-off coefficient are fully explained by the increase 
of precipitation, that is, by climatic factors. A direct influence of orography 
on run-off can hardly be seen in these cases. 

This conclusion, presumably correct for many mountain basins, has by no 
means a universal character. It does not extend to high-mountain basins 
nor to basins with a sharp change in the character of the underlying surface 
with increase of altitude. The direct influence of orography on run-off can 
be established, for example, from data for the rivers of the northern Caucasus, 
presented by Davydov (1947) and elsewhere. 

Good agreement of the results of run-off calculated by the equation of 
relationship of the heat and water balances with factual data confirms the 
determining influence of climatic factors (and, particularly, energetic factors) 
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on formation of the annual sums of run-off. It must be stressed that this 
conclusion relates to river basins of considerable size, comparable with the 
scale of geographical zones. For small areas, river run-off may vary appreci- 
ably under the influence of local conditions of a nonclimatic character. 

In the next section, we will use the equation of relationship to clarify 
causal regularities that lie at the base of geographical zonality. 

3. The Heat Balance and Geographical Zonality 

Climatic indices characterizing geographical zones 

One of the main problems of physical geography is explanation of the law 
of geographical zonality that was found at the beginning of this century by 
the distinguished soil scientist Dokuchaev (1900, and elsewhere). 

Dokuchaev pointed out that within the limits of extensive areas (zones), 
natural conditions are characterized by many features in common, which 
change markedly in passing from one zone to another. He established the 
principal types of geographic zones, which, in the territory of our country, 
include tundra, forest, forest-steppe, steppe, and desert. Subsequently, in 
papers by soil scientists, geobotanists, and geographers, the system of 
geographic zones was worked out in more detail. 

In the studies of Dokuchaev, it was established that the boundaries of 
geographic zones are determined to a considerable extent by climatic factors, 
and in particular depend on the climatic conditions of moisture. In his papers, 
he evaluated the relationships between precipitation and potential evapora- 
tion for the principal geographic zones. The investigations of Dokuchaev 
opened a long succession of works aimed at  a study of the relations of the 
distributions of soil and vegetation to the ratio of precipitation to potential 
evaporation (or its characteristic features). 

Among the investigations along this line, we must mention the paper of 
Vysotskii (1905), in which, for a number of natural zones, the magnitudes 
of the ratio of annual precipitation to potential evaporation (assumed equal 
to evaporation from evaporation pans) were calculated. Vysotskii used these 
values in analyzing the conditions of the formation of soil types and vegeta- 
tion cover of the different natural zones. 

Transeau (1905), in a study of the climatic factors of forest location, 
constructed a map of the ratio of precipitation to pan evaporation for the 
eastern part of North America. 

A little later, Penck (1910) offered a climatic classification in which climates 
were divided into three groups : those with precipitation exceeding evapora- 
tion; those with precipitation equal to evaporation; and those with pre- 
cipitation less than evaporation. 
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In subsequent papers, most of the authors studying climatic moisture con- 
ditions on the basis of calculations of the ratio of precipitation to potential 
evaporation gave up using data on evaporation from evaporation pans for 
determination of potential evaporation. 

The reason for this was, on the one hand, an insufficient amount of such 
data for many regions, and on the other, the difficulty of physical interpre- 
tation of the readings of evaporation pans used in mass meteorological 
observations. (Later, as is well known, the utilization of evaporation pans at  
meteorological stations for determination of potential evaporation has been 
found unsuitable ; in particular, in the network of Soviet stations, the Wild 
evaporator has been withdrawn from use.) 

The great majority of subsequent investigations of the moisture conditions 
on land can be divided into three directions, in which the following data 
have been used to characterize potential evaporation : 

1.  the deficit of atmospheric humidity, 
2. air temperature, 
3. the radiation balance. 

Data on the humidity deficit were first used for study of moisture conditions 
in the aforementioned paper of Ol’dekop (191 1). For determination of evap- 
oration from the surface of river basins, Ol’dekop offered the formula pre- 
sented in the previous section, which included the ratio r/Eo, representing the 
ratio between precipitation and potential evaporation as the characteristic 
of climatic moisture conditions. To determine the value of potential evap- 
oration, Ol’dekop used the formula E = Rd, where d is the humidity deficit, 
and R is a coefficient of proportionality. According to Ol’dekop, the value 
of the coefficient R, for the summer half-year, equals 22.7 (if the humidity 
deficit is measured in millimeters of mercury and the potential evaporation 
in millimeters per month), and for the winter half-year, 16. The annual mean 
of the coefficient is consequently 19.3. 

Thus, according to Ol’dekop, the annual value of the ratio r/Eo equals 
r/232d, where d is the mean annual humidity deficit. 

In the paper of Meyer (1926), the ratio of annual precipitation to the mean 
annual humidity deficit was used to characterize moisture conditions. This 
value, called the NS coefficient, has been rather widely used in the investi- 
gation of relationships between the distribution of types of soil and vegetation 
and climatic conditions. It is apparent that the N S  coefficient is proportional 
to the index offered by Ol’dekop and exceeds its value by a factor of 232. 

In the paper of Prescott (1931), it was noted that Meyer’s index divided by 
230 is approximately equal to the value of the ratio of precipitation to evapora- 
tion from a water surface. 

Later, Ivanov (1941, 1948) offered a formula for the determination of 
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potential evaporation, Eo = 0.001 8( T + 25)y 1 - h) mm month- l, where T is 
the mean monthly air temperature, and h is the mean monthly relative humid- 
ity of the air. Since the value (T  + 25)2, in the range of temperatures at  which 
under natural conditions considerable evaporation occurs, is approximately 
proportional to the pressure of water vapor at  saturation, it is evident that 
this formula coincides in fact with the formula Eo = Qd. In this case, the 
coefficient Q turns out equal to 18.4, close to the mean obtained by Ol'dekop. 
The annual value of the moisture index of Ivanov is consequently equal to 
r/22 Id. 

In these papers, Ivanov made calculations of the ratio of precipitation to 
potential evaporation for a great number of stations. 

Without mentioning numerous other papers, in which the conditions of 
moisture were characterized by the ratio of precipitation to humidity deficit 
(or to a value proportional to humidity deficit), we will note one important 
circumstance. 

The only foundation for an assumption that potential evaporation is 
proportional to the humidity deficit was a notion that the evaporation from 
a water surface is proportional to the deficit. This notion was widespread in 
hydrology several decades ago, but in later studies has been considered wrong. 
Without mentioning current theoretical works on this question, we will note 
that numerous experimental investigations have established that evaporation 
from restricted bodies of water is determined by formula Eo = ad", where n 
is a value less than 1. In various hydrologic studies, n has proved to be equal 
to the following: Poznyshev (1937), 0.5; Mokliak (Ogievskii, 1937), 0.7; 
Davydov (1944), 0.8; Zaikov (1949), 0.78; and so on. The reason that evap- 
oration from water bodies is actually not proportional to the humidity deficit 
is explained to some extent in the papers mentioned. We will return to this 
question later. 

The accordance of isolines of the ratio of precipitation to the humidity 
deficit with the boundaries of vegetation or soil zones has been analyzed in 
detail for the N S  coefficient. In most papers on this question [see Jenny 
(1941), Volobuev (1953), and others], the following conclusion was drawn : 
the distribution of the N S  coefficient only roughly corresponds with the 
limits of natural zones; in many cases, this accordance is markedly broken. 

Thus, the possibility of using the ratios of precipitation to humidity deficit 
in order to characterize moisture conditions seems limited, in the light of 
material from available investigations. 

The second group of studies on climatic moisture conditions is based on 
application of data on air temperature to characterize potential evaporation. 
Among these studies, we will mention those of Lang (1920) and de Martonne 
(1926), who suggested the indices r/T and r/(T + lo), respectively, as moisture 
indices, where T is mean annual temperature. The unsatisfactory character 
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of these indices from the climatological point of view does not require any 
special proof. I t  is known that mean annual temperature often depends 
considerably on thermal conditions of the cold season, which affect the 
formation of geographic zones comparatively little. 

We will give here some examples explaining this circumstance further. It 
should be considered that rational moisture indices ought to maintain more 
or less constant values at  the borders of specific geographical zones. 

According to calculations of Zhegnevskaia (1954), at  the border of forest- 
steppe and steppe, Lang’s index varies from 50 to 100 in the European part 
of the USSR up to infinitely great and then negative values in Siberia. In 
North America, the magnitude of Lang’s index at the same boundary de- 
creases appreciably from north to south, from 100 to 40. 

De Martonne’s index varies slightly less, but still within a wide range, from 
25 to 30 at the border of forest-steppe with steppe in the European part of the 
USSR up to 40 and more at  the same border in Siberia. These variations of 
Lang’s and de Martonne’s indices point to insufficient agreement with the real 
conditions of moisture. We note that similar considerations might be also 
expressed concerning the method of accounting for moisture conditions in 
the well-known climatological classification of Koppen (19 18). Utilization of 
mean annual temperature as a characteristic of potential evaporation forms a 
substantial drawback of this classification. 

In comparison with the indices of Lang and de Martonne, greater interest 
attaches to indices in which temperature characteristics of the growing 
season are used. Such indices have been worked out in a number of studies, 
among which might be mentioned those of Selianinov (1930, 1937, and else- 
where). 

Selianinov suggested that the sum of temperatures, that is, the product of 
mean air temperature for a period when it exceeds a specified value (often 
10°C) times the duration of this period, be used as a characteristic of potential 
evaporation. An index proportional to the ratio of precipitation to the sum 
of temperatures was called the hydrothermal coefficient by Selianinov. The 
hydrothermal coefficient has been used in many agroclimatic studies, but it 
has not been tested empirically on the basis of extensive geographic material. 
We will therefore consider below the question of the relationship between the 
sum of temperatures and evaporation. 

In investigations of the last decades for determining potential evapora- 
tion, the formula of Thornthwaite (1948), which associates monthly values of 
potential evaporation with the mean monthly temperature of the air, has 
often been used. 

In the third group of studies on climatic moisture conditions, data on the 
balance of radiative energy have been used for evaluating potential evapora- 
tion. 
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The idea of using data on the radiation regime when studying climatic 
moisture conditions in connection with physico-geographical processes was 
suggested by Grigor’ev. It was pointed out in his papers (1946, 1954, and 
elsewhere) that the relationship between radiation balance and precipitation 
is a determinant of the level of development and intensity of the basic 
geographical processes. 

In the author’s work (Budyko, 1948), the following circumstance was noted. 
The equations of the heat and water balances of land for annual conditions 
can be written in the following form: 

R E P  
Lr r Lr + - 9  
- = -  (6.11) 

1 = - + - ,  E f  (6.12) 
r r  

(the components of the heat-balance equation are divided by Lr, and those 
of the water balance by r).  

To these ratios we can add the equation of relationship between the heat 
and water balances, introduced in the previous section : 

E - = a)($). 
r 

These three equations connect the four relative values of the components 
of the heat and water balances. Consequently, for the determination of all 
these components, it is sufficient to set only one of the equations. 

Taking into account the special character of the form of the relationship 
equation, we can conclude that as a parameter determining all the relative 
values of the components of the heat and water balances, we can choose 
the ratio R/Lr or P/Lr. (The ratio E/r or f / r  is not a determinant for the first 
two values under conditions of a dry climate, for which great changes of E/r 
and fir  correspond to small changes of the ratios R/Lr or PILr.) 

Since the value of the sensible-heat flux is usually determined less accurately 
than the radiation balance, it is evident that it is more suitable to take the 
quantity R/Lr as the principal parameter determining the relative values of 
components of heat and water balances. 

In this case, the given parameter can be considered as the ratio of potential 
evaporation R / L  to precipitation r, or as the ratio of the radiation balance of 
a moist surface to the heat expenditure for evaporating annual total pre- 
cipitation. 

Thus, when using this parameter, the idea of the moisture index of 
Dokuchaev-Vysotskii and the idea of Grigor’ev of the importance of the 
relationship between radiation balance and precipitation to characterize 
moisture conditions are simultaneously taken into account. 
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Since the relative values of components of the heat and water balances are 
determined by only the one parameter R/Lr, the absolute values of these 
components are then determined by two parameters, for example, R/Lr 
and R. 

This conclusion deserves additional discussion for conditions of a climate 
with harshly insufficient moisture. In this case, the value of the radiation 
balance included in the equation of relationship and relating to conditions 
of a moist surface may differ from the value of the radiation balance for the 
actual state of the earth’s surface. 

Observational and calculation data show that this difference increases with 
growth of the index R/Lr, and becomes substantial at a significant value of 
this index. 

For this reason, under conditions of a climate with markedly insufficient 
moisture, we can add to the equations presented above a supplementary 
dependence of the ratio of the radiation balance at the actual state of the 
earth’s surface to its value for a moist surface on the radiative index of  
dryness. The utilization of this dependence keeps in force the aforementioned 
conclusion about the parameters determining the components of the heat and 
water balances, even for conditions of an arid climate. It should be mentioned, 
however, that in this situation, a consideration of this effect is not very 
important, because according to the structure of the equation of relationship, 
the influence of changes in the index R/Lr on values of E/r becomes small in 
arid conditions. 

We can therefore use the values of the radiation balance both for the actual 
state of the surface and for a moist surface as the characteristic of the radia- 
tion balance that determines other components of heat balance. 

Methods for determining potential evaporation 

To clarify the physical meaning of the radiative index of dryness, we must 
thoroughly consider the relationships between potential evaporation and the 
radiation balance at the earth’s surface. At the same time, we will be able to 
draw some conclusions about the relationship between potential evaporation 
and other characteristics mentioned at the beginning of this chapter. 

From a general point of view, it is evident that potential evaporation 
from the land surface depends on a number of meteorological factors, the 
most important of which are the surplus of solar energy, humidity, and air 
temperature. I t  follows that any method for determining potential evapora- 
tion by only one of these elements will inevitably be approximate and will 
contain more or less error. To evaluate the accuracy of approximate methods, 
it is necessary to compare them with a method based on consideration of all 
fundamental factors affecting potential evaporation. 
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Let us examine the three principal approximate modes of characterizing 
potential evaporation that have been mentioned above : Humidity deficit, 
temperature sums, and radiation balance. 

To assess the accuracy of these methods, we will compare them to the 
combination method for calculation of potential evaporation, in which all 
the principal factors affecting potential evaporation are taken into account, 
namely, the radiation balance, temperature, and humidity of the air (Budyko, 
1951b). We will set forth this method here in a slightly simplified form. 

The value of potential evaporation from a land surface, provided that it is 
sufficiently moist, can be determined by methods similar to those for the 
determination of evaporation from a water surface. At present, it is estab- 
lished that evaporation from a water or a moist surface is proportional to the 
deficit of humidity, calculated from the temperature of the evaporating surface 
(see Chapter I1 of this book). 

We write this dependence in the form 

Eo = P W S  - 41, (6.13) 

where p is the air density, B is the integral coefficient of diffusion, qs is the 
saturation specific humidity at  the temperature of the evaporating surface, 
and q is the atmospheric specific humidity at  the level of measurements in 
mass observations. 

It follows from Eq. (6.13) that to calculate potential evaporation, one 
needs to know the atmospheric humidity, the integral coefficient of diffusion, 
and the temperature of the evaporating surface determining the value qs . 

The first two values can usually be found from the results of appropriate 
observations and calculations. Much more difficult is the determination of 
the third value-the temperature of the evaporating surface. 

I t  is known that the direct measurement of the temperature of a land 
surface generally involves considerable difficulty. In this case, the problem is 
further complicated by the question about the temperature of the surface 
that is evaporating under conditions of sufficient moisture, that is, under 
conditions that may differ considerably from the real conditions of terrain 
in a dry climate. 

We note that for determining the temperature of the evaporating surface, 
it is possible to use the heat-balance equation 

R = LE -k P 4- A ,  (6.14) 

where P is the turbulent flux of sensible heat from the underlying surface 
to the atmosphere, and A is the heat inflow into the soil. 

The value of the radiation balance can be presented in the form R = 

Ro - 4SuT3(Tw - T ) ,  where S is the coefficient characterizing the properties 
of the radiating surface, u is the Stefan-Boltzmann constant, T is the air 
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temperature, T, is the temperature of the active surface, and Ro is the radia- 
tion balance for a moist surface calculated when determining net long-wave 
radiation form the air temperature. (We should indicate that, although in 
other sections of this book a special designator for this characteristic of the 
radiation balance is not used, the introduction of such a designator for the 
formulas comprised in this section turns out to be necessary.) 

For the sensible-heat flux, in analogy to Eq. (6.13), we can write the 
formula P = pc,D(Tw - T), where c, is the specific heat of the air at constant 
pressure (see Chapter I1 of this book). 

Taking these expressions into account, we obtain from Eq. (6.14) 

Ro - A = LpD(q, - 4) + (pc,D + 48aT3)(Tw - 3"). (6.15) 

From Eq. (6.15), provided we possess data on humidity q and temperature 
T, and know the values D and Ro - A ,  we can calculate the values T, and 
qs interrelated by a known physical dependence (the vapor-pressure relation). 
This calculation will permit us then to calculate potential evaporation E, 
from Eq. (6.13). 

A similar method has been offered in the papers of Penman (1948, and 
elsewhere), who used it for determination of evaporation from a water 
surface. Penman suggested that potential evaporation from a land surface 
is proportional to that from a water body under the same external conditions. 

Equations (6.13) and (6.15) permit us to investigate the dependence of 
potential evaporation on the basic meteorological factors (Budyko, 195 1 b). 
Not dwelling on this question, we will pass on to an evaluation of the afore- 
mentioned simplified methods for determining potential evaporation. 

In using the method of the radiation balance for a limited period of time, 
potential evaporation is determined from the formula Eo = (R ,  - A)/L. 
Since, for the annual period, A is close to zero, then for these conditions (and 
also for a number of other cases), we can assume that E, = ROIL. 

It follows from Eq. (6.15) that the determination of potential evaporation 
by the radiation balance can yield accurate results when the value 
(pc,D + 46aT3)(T, - T) is much less than the heat expenditure for potential 
evaporation LpD(q, - q). 

Consequently, the absolute error in determination of potential evapora- 
tion by the radiation balance (AE,') equals 

(l/L)(pcpD + 46aT3)(Tw - T), 

and the relative error is determined by the formula 

(6.16) 
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Equation (6.16) permits the calculation of both the relative errors in deter- 
mining potential evaporation and the errors in calculating evaporation from 
a water surface, provided we take its value as equal to (Ro - A)/L. This 
formula is used below for an evaluation of errors in calculation of potential 
evaporation. Here, to illustrate it better, we will present data on the error in 
calculation of potential evaporation by the radiation balance, obtained 
by comparing the values of potential evaporation calculated by Eqs. (6.13) 
and (6.15) for the annual period (summing up the monthly values) with the 
corresponding values of ROIL. 

For this purpose, the values of Eo and ROIL have been calculated for 44 
points situated in a variety of climatic conditions, from the tundra zone to 
the equatorial forests and tropical deserts, on all the continents (except the 
Antarctic). 

The results of this comparison, presented in Fig. 99, show that the calcu- 
lation of potential evaporation by the mean annual values of the radiation 
balance provides values close to calculations of potential evaporation by 
Eqs. (6.13) and (6.15). The coefficient of correlation between the values 
compared equals 0.98. 

This conclusion means that the effect of such factors as temperature and 
humidity of the air on the annual values of potential evaporation turns out 
to be less important than that of the radiation balance. On the basis of the 
data from Fig. 99, we can also infer that in most cases, for a sufficiently moist 

Potential evapotranspiration (rnm y i ' )  

Fig. 99 Comparison of values of potential evaporation determined by the com- 
bination method and from the radiation balance. 
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land surface, the sensible-heat flux P is small in absolute value, compared 
to the principal components of the heat balance-the radiation balance and 
the latent-heat flux. (An exception to this rule is observed mainly in com- 
paratively poorly moistened areas under the conditions of a dry climate.) 

To clarify the physical meaning of the method for calculating potential 
evaporation by the humidity deficit, we will consider the relationship between 
humidity deficit and radiation balance for various climatic conditions. 

Figure 100 shows a comparison of the annual means of atmospheric 
humidity deficit adopted from the paper of Sokolova (1937), with the corre- 
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Fig. 100 Comparison of the annual means of atmospheric humidity deficit (d) with 
values of the radiation balance (R,,). 1-tundra, forest, forest-steppe, steppe; 2-semidesert, 
desert. 

sponding values of radiation balance R,,. The data on the humidity deficit and 
radiation balance have been taken from the maps, for 187 points evenly 
located over the whole area of the USSR except eastern Siberia (where the 
data are less reliable), mountain regions, and coastal belts. 

Data for regions of arid climate (deserts and semideserts) are shown by 
circles, and the rest of the data, relating to conditions of steppe, forest-steppe, 
forest, and tundra, by points. 

I t  is apparent from Fig. 100 that for conditions of humid climates, a close 
relation, near to direct proportionality, exists between the values of the 
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radiation balance and the humidity deficit. The dependence presented in 
Fig. 99 enables us to think that for the conditions under consideration, the 
humidity deficit is also connected with potential evaporation by direct 
proportionality. 

Thus, for humid regions, the calculations of potential evaporation by 
radiation balance and humidity deficit yield close results (provided the coeffi- 
cient of proportionality i2 in the formula Eo = QZd has been correctly 
chosen). 

Let us now compare the principal errors in calculating potential evapora- 
tion by the humidity deficit and by the radiation balance for conditions of a 
humid climate. 

Potential evaporation from a moist surface, equal to Eo = pD(q,  - q) can 
be presented as the sum of two terms: Eo = pD(q,' - q)  + pD(q,  - qs'), 
where qs' is the saturation concentration of water vapor at air temperature. 
Since the value qs' - q equals the atmospheric humidity deficit, then the last 
formula can be presented in the following form: Eo = E," + pD(q,  - qs'), 
where E," is the potential evaporation determined from the deficit of atmos- 
pheric humidity, and pD(q ,  - qs') = AE," is the value characterizing the 
principal error in calculation of potential evaporation by the atmospheric 
humidity deficit. This error appears as a consequence of the inequality 
between temperatures of the air and the active surface. 

The relative error in calculation of potential evaporation by the humidity 
deficit is plainly equal to 

(6.17) 

If we compare the relative errors in calculations by the radiation balance 
and by the humidity deficit, by means of dividing the appropriate values 
from Eqs. (6.16) and (6.17), we then obtain 

A E,' (6.18) 

It is interesting to note that because of the approximate proportionality 
of the differences T, - T and qs - qs', within the range of the changes 
actually possible, the ratio AE,'/AE," for each value of air temperature is 
approximately constant. Thus, in particular, with the use of Eq. (6.18) we 
find that for an air temperature of 25", the value AEo'/AE," is approximately 
equal to 3. This means that the principal error in calculation of potential 
evaporation by the radiation balance is less than that in calculation of poten- 
tial evaporation by the humidity deficit by approximately a factor of 2. This 
conclusion must be considered in the calculation of potential evaporation, 
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but it does not exclude the possibility of an approximate determination of 
potential evaporation by the atmospheric humidity deficit under conditions of 
a comparatively humid climate. 

It is much more difficult to use the humidity deficit for calculation of 
potential evaporation in arid climates, especially under desert conditions. 

It is seen from Fig. 100 that for arid conditions, the direct proportionality 
between the radiation balance and the humidity deficit in the air is broken, 
and the scatter of points in the graph increases. If we compare Figs. 100 
and 99, it is clear that in this case, the direct proportionality between humidity 
deficit and potential evaporation, found by the combination method, also 
breaks down. 

Can it be considered that a rapid growth of atmospheric humidity deficit 
accompanying a transition to desert climatic conditions corresponds to a 
similar rapid growth of potential evaporation ? A negative answer to this 
question is not to be doubted. 

If we compare the mean humidity deficits in a desert and in a well-irrigated 
oasis in the same region, these values, as the observational data show, differ 
by a factor of several times. At the same time, the values of potential evapora- 
tion in both cases are presumably the same, since the actual value of evapora- 
tion in the well-irrigated oasis is also the value of potential evaporation, in 
which we are interested, for the given region of desert. Thus, the humidity 
deficit in the air under real conditions of the arid climate cannot be con- 
sidered proportional to the value of potential evaporation. 

Actually, most of the meteorological stations in deserts, whose data have 
become the basis for construction of the map of the humidity deficit that 
we have used in our work, are under the influence of the proximity of irri- 
gated areas. Therefore, the data of station observations provide values of 
humidity deficit that are only partially conditioned by the influence of the 
desert or semidesert climate. Nevertheless, as Fig. 100 and also materials 
from special observations show, the values of humidity deficit obtained from 
station observations in deserts turn out appreciably “overestimated” in 
comparison to those that ought to correspond to conditions of abundant 
irrigation of a given region. 

It is interesting to note that the question of the necessity of accounting for 
the effect of moistening on the desert climate when determining potential 
evaporation was long ago considered by Voeikov. 

Thus, in particular, in “Kn~MaTb1 ~ ~ M H O T O  ruapa (The Climates of the 
Earth”) (1884), Voeikov examined the interesting example of an error made 
by the engineers who designed a storage lake of the Suez Canal. According 
to data of measurements of evaporation by means of small evaporators, they 
considered that evaporation from the storage lake would be about 7 m per 
year. The actual evaporation proved to be several times smaller. 
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This difference can be explained by the fact that for comparatively large 
evaporating surfaces under desert conditions, water outgo in evaporation 
from a unit area of surface is much less than that from small surfaces, as a 
consequence of the effect of evaporation on the climate of the air layer near 
the surface. 

Besides the considerations presented here, there exists a second cause 
determining a growth of evaporation that is slower than the increase in 
humidity deficit, with an intensification of climatic dryness. Observational 
data show that the mean water temperatures of restricted bodies of water in 
arid regions are usually much lower than the air temperature. This leads to 
a decrease in the values of humidity deficit calculated from the temperature 
of the evaporating surface, compared to the humidity deficit of the air. As a 
result, there is a relative decline of evaporation, which is noticeable for dif- 
ferent evaporating surfaces. 

Let us turn now to the question of utilization of temperature sums in 
calculation of potential evaporation. I t  is well known that, although the 
temperature sum is a familiar agrometeorological index, widely used in 
agricultural climatology, the question of its physical interpretation remains 
obscure. In this connection, it is of interest to compare temperature sums with 
the energetic characteristic of potential evaporation, the radiation balance. 
The results of such a comparison are presented in Fig. 101. 

Values of R are plotted along one axis of this graph, and along the other 
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Fig. 101 Comparison of temperature sums (10°C base) with values of the radiation 
balance. 
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are plotted the sums of temperatures above 10°C ( Z T )  taken from the 
“ M U ~ O B O ~ ~  arpoKmMaTusecKufi cnpasowmc (World Agroclimatic 
Handbook”) (1937) for 300 stations located in different climatic conditions 
and in all the continents (except the Antarctic) from 71” N latitude to 46” S. 
All the data contained in the reference book (except the materials for coastal, 
island, and mountain stations) have been used. 

It is seen from Fig. 101 that there is a close relationship between tem- 
perature sums and the radiation balance, which, on the average, is maintained 
in all latitudes and on all continents. A distinct dependence of temperature 
sums upon radiative energy factors clarifies to some extent the physical 
meaning of this characteristic, which sometimes has been considered a 
rather conventional index. At the same time, the relationship established 
between temperature sums and radiation balance points to the possibility 
of using temperature sums for an indirect evaluation of potential evaporation 
under various climatic conditions. 

I t  must be indicated, however, that with the scattering of points in Fig. 101, 
the relationship between temperature sums and radiation balance cannot be 
considered single-valued. Analysis of the original material shows that in 
individual regions, a certain discrepancy between radiation regime and 
temperature sums is observed. 

Thus, for example, in some monsoon regions, the temperature sums turn 
out to be reduced in comparison with the values of radiation balance. A still 
greater discrepancy between these values is observed in mountain regions, 
where the temperature sums usually decrease with altitude appreciably more 
rapidly than the radiation balance does. 

In such cases, the conditions for an increase in the mean differences between 
temperatures of the air and the earth’s surface appear, which may lead to 
definite errors in evaluating the thermal factors of geographic processes by 
the summed air temperatures. 

The advantage of temperature sums as a characteristic of potential evap- 
oration consists in the fact that they vary comparatively little with a change 
in climatic dryness; less, in particular, than the atmospheric humidity deficit. 
This circumstance permits using temperature sums also for the determination 
of potential evaporation under conditions of arid climates, deserts included. 

Of interest are comparisons of different methods for determining potential 
evaporation with data of measurements of evaporation from the earth’s 
surface under conditions of sufficient moisture. 

Among the studies of this kind, that by McIlroy and Angus (1964) (carried 
out in Australia), the results of which have been considered in Seller’s book 
“Physical Climatology” (1969, are worthy of attention. 

The authors of this study measured evaporation from irrigated grass 
during the yearly march. The data of their measurements were compared 
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with the results of calculations of potential evaporation made by several 
methods, their data being in close agreement with the values derived by means 
of the combination method. Methods for determining potential evaporation 
based on consideration of individual meteorological elements yielded much 
poorer results. 

Summing up our examination of the question about methods for calculat- 
ing potential evaporation, we can point out the following. 

The best-founded method for determination of potential evaporation is 
the above-stated combination method, taking into account the effect of 
radiation balance, temperature, and humidity on potential evaporation. 

When determining annual values of potential evaporation, one can use 
the method of calculation by radiation balance, which, for diverse climatic 
conditions yields results close to those of calculation carried out by the com- 
bination method. 

Among empirical methods, the calculation of annual values of potential 
evaporation by summed temperatures deserves attention. For this purpose, 
it is possible to employ the mean relation between temperature sums and the 
radiation balance according to data in Fig. 101. 

Calculations of potential evaporation from the atmospheric humidity 
deficit may yield satisfactory results mainly for a comparatively humid 
climate. For conditions of an arid climate (especially deserts), this calculation 
method is less suitable and may lead to noticeable errors. 

Let us pause now on the question of the period for which one must take 
data on the radiation balance for the determination of potential evaporation. 

It should be noted that under different climatic conditions in the middle 
latitudes, radiation-balance values for the year and for the growing season 
turn out to be close in magnitude (Budyko, 1949). This fact, which at first 
sight seems paradoxical, is explained in the following way. During the cold 
season in middle latitudes, the radiation balance is negative, its absolute 
values being relatively small. In spring, the radiation balance becomes 
positive, and toward the beginning of the growing period (which is usually 
characterized by the rise of air temperature to lo"), it reaches comparatively 
large positive values in most situations. This leads to the fact that the 
negative and positive values of the radiation balance for the period of the 
"nongrowing" season compensate each other to a considerable extent. 

Available data on the radiation balance permit us to carry out a comparison 
of values for the year and for the growing season. The results of this compari- 
son are presented in Fig. 102, where the radiation balance R for the year is 
plotted along one axis [the abscissa] and the balance R' for the period with 
temperature exceeding 10" along the other axis [the ordinate]. The data 
from the graph relate to stations situated in the zone from 40 to 70" N 
latitude. 
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Fig. 102 Comparison of radiation-balance totals for the year and for the growing 
period. 

It is apparent from the graph that for comparatively large values of radia- 
tion balance, that is, in lower latitudes, the values of R and R‘ are always 
close to each other. For the higher latitudes, where the balance values are 
smaller, a difference appears between R and R‘, the latter value being notice- 
ably larger than the former. I t  can be noted that the greatest discrepancy 
between these values is seen mainly in conditions of an extremely continental 
climate (central portions of Eurasia). 

In these regions, a rapid rise of temperature in spring leads to the fact that 
the compensation between the negative and positive values of the radiation 
balance in the “nongrowing” season turns out to be incomplete. As a result, 
the radiation balance in the growing season becomes greater than the balance 
over the year. 

This conclusion, however, does not imply the necessity of using radiation- 
balance values for the growing season for calculation of the annual values of 
potential evaporation in conditions of an extreme continental climate. It is 
easy to understand that the values of the radiation balance for the year 
period in middle latitudes under conditions of sufficient moisture cannot be 
totally converted into evaporation. In the presence of a pronounced annual 
march of temperature, a certain part of the heat of the radiation balance in 
the warm season is spent for heating (and thawing) the soil; this heat returns 
in the cold season, when the soil is being cooled (and frozen). 

In using the available calculation data on heat exchange in the soil, we 
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can infer that under conditions of the continental climate in middle latitudes, 
the amount of heat that is likely to be converted in evaporation in the warm 
season is noticeably less than the value of the radiation balance over the 
growing season, and closer to the annual value of the balance. 

These conclusions confirm the fact that to determine potential evaporation 
for the year under various climatic conditions, it is suitable to use the radia- 
tion-balance values that also relate to the annual period. 

The relationship between geographic zonality and climatic conditions 

For study of the influence of climatic factors on geographic zonality, there 
has been constructed a world map of the radiative index of dryness (Budyko % 

1955), presented in Fig. 103. 
In the construction of this map, we used the world map of radiation 

balance, related to conditions of a moist surface. It follows from this map that 
the location of isolines of values of the radiation balance at  a moist surface 
has, in general, a latitudinal character. In desert regions, this value is usually 
slightly larger in comparison to surrounding areas of a more humid climate, 
although this difference is relatively small. 

To construct the maps of the dryness index, we carried out calculations of 
the index R/Lr for 1600 points, evenly located over the surface of the con- 
tinents. 

On the map of the radiational index of dryness, isolines of values equal to 
3, 3, 1, 2, and 3 are seen. The isolines are drawn for the entire surface of the 
continents, with the exception of mountain regions, which are hatched. 

I t  is seen from this map that the distribution of isolines of the radiative 
dryness index on the continents is characterized by a great variation of index 
values on each continent. The most humid conditions, corresponding to the 
smallest values of the dryness index, are observed mainly in high latitudes, 
where potential evaporation is very small. The greatest values of the dryness 
index relate to the conditions of deserts and semideserts. 

In comparing the map of the radiative index of dryness (Fig. 103) with the 
available geobotanic and soil maps, it is easy to see that the location of 
isolines of the dryness index agrees well with the location of the principal 
physical-geographic zones. The smallest values of the dryness index (up to 3) 
correspond to tundra, index values ranging from 3 to I to the forest zone, 
from 1 to 2 to steppe, more than 2 to semidesert, and more than 3 to the 
desert zone. 

Omitting a number of specific conclusions that can be seen from a com- 
parison of the map of the dryness index with the geobotanic and soil maps, 
we will stress only the point that the radiative index of dryness, characterizing 
the relative values of components of the heat and water balances, agrees 
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Fig. 103 Radiative index of dryness. 
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well with the locations of the boundaries of the principal natural zones. It is 
evident that in different latitudes lying within the limits of the same zone, 
substantially different levels of development of natural processes are observed. 
These differences are associated with the fact that the energetic basis of 
natural processes, which can be described by the value of radiation balance R, 
is different in different latitudes. 

Thus, in order to characterize the general zonal conditions of natural 
processes, it is sufficient to use the one parameter RILr (defining the relative 
values of the components of the heat and water balances). However, in order 
to characterize the absolute values of the intensity of natural processes, it is 
necessary to use the two parameters RILr and R, which determine the absolute 
values of the components of the heat and water balances. 

The relationship between geobotanic conditions and the parameters RILr 
and R can be shown as a graph, along the axes of which are located the values 
of R and RILr, and on which the principal geobotanic zones are separated by 
straight lines (Budyko, 1950). A schematic form of such a graph is presented 
in Fig. 104. 

0 0.5 1.0 1.5 2 .0  2.5 3.0 3.5 

Radiative index of dryness R / L r  

Fig. 104 Diagram of geobotanic zonality. 

We note that in constructing this graph, values of the radiation balance 
for the actual state of the earth’s surface, which differ from those for a moist 
surface, were plotted along the ordinate. The continuous line in the graph 
bounds the domain of actually existing values of R and RILr (except in 
mountain regions). Within its limits, definite values of the parameter RILr 
shown by the vertical lines distinguish the principal geobotanic zones : tundra, 
forest, steppe, semidesert, and desert. The great differences in the values of the 
radiation balance in the forest zone and the slightly lesser differences in the 
steppe zone correspond to marked geobotanic changes within the area of each 
zone, the general character of the vegetation cover remaining unchanged. 



3 THE HEAT BALANCE AND GEOGRAPHICAL ZONALITY 349 

Since soil zonality is closely connected with the zonality of vegetation cover, 
the conclusions obtained concerning the relationship between the vegetation 
zones and definite values of the parameters R and R/Lr can also be carried 
over completely to the soil zones. 

In this respect, it can be established that with an increase of the parameter 
RILr, soil types change in the following sequence: (a) tundra soils; (b) podzols, 
brown forest soils, yellow earths, red earths [krasnozems], and lateritic soils 
(the variety of soil types in this group corresponds to the changes in param- 
eter R within its broad limits); (c) black earths [chernozems] and black 
savanna soils; (d) chestnut soils; (e) grey earths [sierozems]. The relationship 
between soil zonality and the climatic indices R/Lr and R can be in general 
depicted in a graph similar to that of the vegetation zones presented in Fig. 
104. 

The relationship between the hydrologic regime and the parameters R 
and R/Lr can be established not only in a qualitative but also in a quantitative 
form. 

It follows from the relationship equation that to each level of values of the 
parameter R/Lr there corresponds a definite level of values of the run-off 
coefficient. Consequently, for tundra conditions, where R/Lr < 3, the run-off 
coefficient must be greater than 0.7; in the forest zone at  3 < R/Lr < 1, the 
run-off coefficient must possess a value from 0.3 to 0.7; in the steppe zone 
(where 1 < R/Lr < 2), from 0.1 to 0.3; in the semidesert and desert zones, 
less than 0.1. Factual data confirm this regularity well. 

Thus, consideration of the effect of energy factors permits explanation in 
quantitative form of zonal changes in the run-off coefficient. 

The absolute values of run-off are determined by two parameters, R and 
R/Lr. Therefore, in a graph similar to Fig. 104, we can show the distribution 
of annual run-off values (Fig. 105). This graph defines the absolute values of 
run-off in different geographic zones. 

I t  must be indicated that the data on precipitation totals in the calculations 
presented here do not include the corrections that have been proposed in 

R / L r  

Fig. 105 Run-off (crn yr-l)  in different geographical zones. 
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recent years for improving the accuracy of norms of precipitation determined 
by means of available instruments. Taking these corrections into account 
leads to an increase in precipitation totals, especially marked in regions with 
a large amount of solid precipitation. 

Investigations show that, although utilization of the improved precipitation 
norms changes the typical values of the moisture indices slightly, it does not 
as a rule change the general regularities connecting the moisture indices with 
the geographic zonality. In a number of cases, correction of the precipitation 
sums permits better agreement between the moisture indices and the 
boundaries of the geographic zones. 

4. The Table of Geographic Zonality 

The law of geographic zonality 

The material set forth in the preceding section makes possible a better 
conception of the physical meaning of the law of geographical zonality 
discovered by Dokuchaev. It follows from this material that a close relation- 
ship exists between the geographic zones and the two climatic parameters- 
the radiation balance at the earth’s surface and the radiative index of dryness. 

This relationship was studied in the papers of Grigor’ev and Budyko 
(1956, 1962), in which it was referred to as the periodic law of geographic 
zonality. We note that an idea of the periodicity of changes in some properties 
of natural zones had been suggested even earlier, in a study of the distribution 
of soil cover (Zakharov, 1931; Vilenskii, 1945). In all these papers, the 
concept of periodicity had a definite meaning, which we take up below. 

In accordance with the concept set forth in the previous section, Grigor’ev 
and the author pointed out that within each latitudinal belt, there exists a 
definite correspondence of the boundaries of natural zones to the isolines 
of one or another value of the radiative index of dryness. In different latitu- 
dinal belts, the same values of the radiative index of dryness correspond to 
natural zones that are similar in terms of several substantive indicators. Thus, 
with transition from one latitudinal belt to another (which leads to changes 
in the values of the radiation balance), the indicators of similarity are re- 
peated in a set of natural zones corresponding to changes in moisture con- 
ditions, together with differences caused by changes in conditions of thermal 
energy. 

The general scheme of this regularity is given in Table 31, which represents 
a further development of the model shown in Fig. 104. It should be noted 
that in constructing the table of geographic zonality, radiation-balance 
values relating to moist conditions of the underlying surface were used. This 



4 THE TABLE OF GEOGRAPHIC ZONALITY 351 

is one of the reasons for differences in the data between the table under 
consideration and Fig. 104. Other differences are associated with the utiliza- 
tion of more detailed data on precipitation and vegetation cover in different 
regions in construction of the table of geographic zonality. 

The table under consideration permits forming the following conclusions 
about the regularities of geographic zonality relating to plains areas. Each 
column in the table defines a gradation of moisture conditions and corresponds 
to definite values of the run-off coefficient. In  each column, the annual norm 
of run-off increases with the increase in the radiation balance, that is, with 
decreasing latitude. (This does not extend to conditions of deserts, where 
run-off in low latitudes is close to zero.) 

Each column of the table corresponds to a similar type of vegetation cover. 
Under conditions of surplus moisture (column 3), forest vegetation prevails 
in all latitudes, except in conditions of extreme moisture surplus (dryness 
index less than f). In this case, forest vegetation is replaced by tundra in the 
high latitudes and by marsh in the low. (Since a dryness index less than 5 
over more or less extensive areas is observed only in comparatively high 
latitudes, the swamped areas in low latitudes cannot be considered independent 
geographical zones.) 

Not only the type but also the productivity of the vegetation cover are 
characteristic of each gradation of moisture. In the aforementioned paper of 
Grigor'ev and the author, it was suggested that the productivity of natural 
vegetation cover increases the more closely the moisture conditions approach 
the optimum (at the same radiation balance); and under fixed conditions of 
moisture, productivity increases with an increase in the radiation balance. 

The problem of productivity of the vegetation cover in different geographic 
zones is discussed in detail in Chapter VIII. 

Each column of the table corresponds to a definite sequence of change in 
soil types, which, within the limits of the same column, possess substantially 
similar indications. Thus, in particular, the third column contains the follow- 
ing sequence of soil types: tundra, podzolic and brown forest soils, sub- 
tropical red earths and yellow earths, tropical podzol-like red earths, and 
laterites; the fourth column contains black earths and dark chestnut- 
colored soils, black soils and poorly leached brown soils of the subtropics, 
red-brown tropical soils, and so on. 

Certain quantitative characteristics of the soil-formation process are 
characteristic of each sequence mentioned. 

A special place in the table belongs to the area of eternal snow, which 
possesses no analogies and is characterized by a negative value of the radia- 
tion balance, a negative index of dryness, and practical absence of vegetation 
and soil cover, and also the subzone of the Arctic deserts, with a negligible 
value of the annual radiation balance and excessive moisture. 
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Thermal energetic 
basis-the radia- 

tion balance 

The regularities of geographic zonality presented in the table can be 
explained by the following simple considerations. 

Because of the spherical shape of the earth, its surface is divided into 
several latitudinal zones, which differ in the values of inflow of radiant energy 
to the earth's surface. Within the limits of each of these zones (except the 
zone of eternal snow), different moisture conditions ranging from surplus to  
extreme insufficiency can be observed. It is easy to understand that the nature 
of zones with similar conditions of moisture in different latitudes possesses 
features of a definite similarity (which are joined with the differences caused 
by the difference in the inflow of radiation energy). If we successively com- 
pare regions in two latitudinal belts with increasing moisture (or with in- 
creasing dryness), the features of similarity repeat themselves periodically. 
Thus, a periodic change in the characteristics of geographic processes is 
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to 1 

moisture 

I __ 3 4  5 5  

revealed in successively passing round the globe by different parallels of 
latitude, when, during the circuit on a given parallel, the direction of the 
monotonically changing index of moisture is followed. It is easy to under- 
stand that such a periodicity cannot be compared to that of the properties 
of the chemical elements, with which it has nothing in common. 
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Seasonal change in the climatic factors of geographic zonality 

The table of geographic zonality establishes a relationship between natural 
zones and the mean annual values of the elements of the climatic regime. It 
must be borne in mind that as a rule, these values are the result of averaging 
variable values of the elements of climate, characteristic of individual seasons 
of the year. 
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Taking into account the special features of the climatic regime in different 
seasons, we can more distinctly realize the effect of climatic factors on geo- 
graphic zonality (Grigor'ev and Budyko, 1962). 

To characterize the climatic conditions of the seasons, we will single out 
the following basic types of climatic regime. 

1. The Arctic climatic regime, characterized by the presence of snow 
cover, negative air temperatures, and a negative or near-zero radiation 
balance. 

2. The tundra climatic regime, with mean monthly temperatures from 
zero to 10" and a small positive radiation balance. 

3. The climatic regime of the forest zones, with mean monthly tem- 
peratures exceeding lo", a positive radiation balance, and sufficient 
moisture, when evaporation amounts to not less than half of the value 
of potential evaporation. 

4. The climatic regime of the dry zones (steppe and dry savanna), where 
with a positive radiation balance evaporation ranges from one tenth 
to one half of the value of potential evaporation. 

5. The climatic regime of deserts, where with a positive radiation 
balance evaporation is less than one tenth of potential evaporation. 

If any of the above-listed types of climatic regime were observed through- 
out the whole year, then the climatic conditions relating to each month 
would correspond with the natural zonality. But in most geographic regions, 
a change among several types of climatic regime is observed throughout the 
year. Thus, for example, in the steppe zone of the European part of the 
USSR, four types of climatic regime are observed during the year: in 
the winter period, the Arctic regime; at  the beginning of spring, the tundra 
regime, which gives way to the forest-zone regime, after which, in summer- 
time, conditions of the climatic regime typical of the steppe zone are observed. 
In this case, only the last of the seasonal types of climatic regime corresponds 
to the type of geographic zone. 

General characteristic changes in climatic conditions during the annual 
march at  different latitudes of the Northern Hemisphere are presented in 
Fig. 106. Fig. 106a characterizes plains regions in the zone of 20-40"E7 
situated in Europe and Africa. Figure 106b shows the changes in climatic 
conditions for the eastern periphery of Asia, Fig. 106c for the eastern areas 
of North America and for South America. 

The models shown in these figures reveal substantial differences in the 
seasonal changes of climatic regime in different longitudes. These differences 
are especially noticeable in middle and low latitudes, where the type of regime 
depends on moisture conditions. 

In Europe and Africa, a regime with reduced moisture is observed in a 
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wide latitudinal zone, which shifts north during the summer and south in 
winter. This shift corresponds with the most favorable conditions of moisture 
in the subtropics in winter and spring, and in the tropical latitudes in summer. 

In eastern Asia and in North America, the structure of the moisture 
regime differs sharply from the first diagram. This corresponds to substantial 
differences in circulation processes. 

It is apparent from Fig. 106 that in most regions in all longitudes, con- 
ditions of either insufficient moisture (regimes 4, 5) or insufficient heat (re- 
gimes 1, 2) are observed during a significant part of the year. Only in a 
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Fig. 106 Seasonal changes in the climatic factors of geographic zonality. 1-5-climatic 
regimes. (See p. 354.) 

narrow belt near the Equator are conditions corresponding to regime 3 
observed all through the year. 

I t  is evident that with regimes 2 and 4, and especially with regimes 1 and 5, 
the productivity of natural vegetation is reduced, which causes a correspond- 
ing reduction in the intensity of other biogeographical processes (zoogeo- 
graphic and soil). In this case, the following regularity is observed. Under 
conditions of insufficient heat, the type of geographical zone is determined 
by the climatic regime of that period when the productivity of natural 
vegetation is the greatest, even if this period is relatively short. Thus, for 
example, the zonal landscape of tundra is determined by conditions of the 
warm season, which may not exceed one fifth to one fourth of the duration 
of the year. In this situation, the climatic regime of the cold season, embracing 
the greater part of the year, does not determine the zonal character of the 
landscape. 

A similar regularity is usually noted also under conditions of insufficient 
moisture, when the more humid period turns out to be determinant for the 
type of zone, though it might be shorter than the period with insufficient 
moisture. 
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It should be noted, however, that under conditions of natural zones with 
insufficient moisture, short periods with sufficient or surplus moisture may 
be observed, which do not ensure the development of typical forest vegetation 
requiring a more or less long moistening of the soil. 

The indicated regularities that associate the type of geographic zone with 
seasonal change in climatic factors of zonality contribute to the concept 
stated above of the influence of climatic factors on geographic zonality. 

A formulation of the periodic law of geographic zonality set forth in 1956 
is used generally in contemporary studies. In a number of papers, the possi- 
bility of using this law for a clarification of regularities of the distribution of 
vegetation cover is discussed (Armand, 1967; Bazilevich et al., 1970; and 
others). Recently, the possibility of using the law for study of the zonality of 
geomorphologic processes has been clarified (Budyko et al., 1970). 

Climatic classification 

Among various supplements to the table of geographical zonality given 
above, we will discuss in more detail the classification of the climates of the 
Soviet Union worked out on the basis of it (Grigor'ev and Budyko, 1959). 
In working out this classification, data on the sums of temperatures at the 
level of the earth's surface, which are closely connected with values of the 
radiation balance, were employed to characterize thermal conditions. In 
calculation of the dryness index, potential evaporation was determined by 
the combination method (refer to Section 2 of this chapter). 

A comparison has shown that the boundaries of geobotanic zones agree 
well with the distribution of climatic characteristics used in this classification. 
The area where the mean daily air temperature remains lower than 10°C 
proved to correspond to the zone of Arctic deserts. The isoline of the sum of 
temperatures at  the earth's surface equal to 1000" is close to the southern 
border of the tundra zone (forest-tundra included). The same natural 
border proved to be close to the isoline of the dryness index equal to 0.45. 
The area with dryness index slightly lower than 0.45 but with greater values 
of temperature sums accords with the location of the high-mountain zone of 
alpine meadows. Isolines of the dryness index equal to 1 closely coincide 
with the border between the forest and steppe zones. And within the limits 
of the forest zone, the area with temperature sums less than 2200" coincides 
with needleleaf forest (taiga); from 2200 to 4400", the mixed and broadleaf 
forest of middle latitudes; more than 4400", forest with elements of sub- 
tropical vegetation. 

Values of the dryness index ranging from 1 to 3 agree with the location of 
the vegetation zones of insufficient moisture, mainly steppe and forest-steppe. 
Under such conditions, with summed temperature less than 2200", conditions 
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of mountain steppe and forest-steppe (and also Siberian steppe and forest- 
steppe, being to a considerable extent of a mountain character) are observed. 
At temperature sums exceeding 4400°, the steppe of middle latitudes changes 
into a steppe with elements of subtropical vegetation or with xerophytic 
woody vegetation having some subtropical features. 

Dryness index values exceeding 3 correspond to conditions of the desert 
zone, where, at  comparatively low temperature sums (less than 2200"), 
mountain deserts are observed. In the zone of lowland deserts in the north at  
lower temperature sums (approximately up to 4400°), conditions of Artemisia 
and saltbush deserts prevail; at  greater sums, conditions of saxaul, shrub, 
and ephemeral deserts prevail. 

In accordance with the regularities indicated here, the gradations of the 
basic climatic indices given in Tables 32 and 33 have been used for designing 
a system of climatic regionalization. 

TABLE 32 
MOISTURE CONDITIONS 

Index of dryness 

Geographical conditions 
Moisture potential evaporation 

conditions ( precipitation 

I Too moist Less than 0.45 Arctic desert, tundra, forest-tundra, 
alpine meadows 

I1 Moist 0.45-1 .OO Forest 
111 Insufficiently 1 .OO-3.00 Forest-steppe, steppe, xerophytic sub- 

IV Dry More than 3.0 Desert 
moist tropical vegetation 

Along with the basic climatic indices given, which define the conditions of 
geographical zonality, characteristics of the climatic conditions of winter 
have been used in addition for constructing a detailed map of climatic 
regions. 

Although the differences in meteorological regime of the cold season in 
our latitudes affect geographical processes much less than do the differences 
in climatic conditions of the warm season, the severity of winter and the 
character of winter precipitation are important for the regime of rivers, soil 
formation, vegetation, and so on. In this regard, six principal types of meteoro- 
logical regime in wintertime, presented in Table 34, have been distinguished 
in the area of the Soviet Union. 

I t  must be noted that certain relationships exist between the meteorological 
conditions of winter and the natural vegetation cover. The area of severe 
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TABLE 33 
THERMAL CONDITIONS OF THE WARM PERIOD 

Sum of temperature at the surface 
of the earth for the period 

Thermal with the air temperature 
conditions exceeding 10°C Geographical conditions 

1. Very cold 

2. Cold 0-1000" 
3. Moderately 1000-2200" 

Air temperature does not exceed 
10°C throughout the year 

warm 

4. Warm 2200-4400" 

5.  Very warm More than 4400" 

Arctic desert 

Tundra and forest-tundra 
Needleleaf forest, alpine mea- 
dows, mountain steppe, and 
Siberian steppe 
Mixed and broadleaf forest, 
forest-steppe, steppe, north- 
ern desert 
Subtropical vegetation, desert 

climate in the forest zone corresponds to a considerable degree to the territory 
of the Dahurian larch-one of the trees most capable of enduring low 
temperatures. 

The border between the zones of moderately severe and moderately mild 
winters in the forest zone of the European USSR corresponds approximately 
to that between the east European and west European taiga. Farther south, 
in the steppe zone, this border coincides with a change in type of vegetation 
from the Black-Sea steppe to the Kazakhstan steppe. 

In using the criteria of climatic classification and the numerical and letter 
designations corresponding to the criteria mentioned, we can characterize 

TABLE 34 
WINTER CONDITIONS 

January Greatest mean decadal 
temperature depth of snow cover 

Characteristics of the winter ("C) (cm) 

A. Severe winter with little snow < -32 
B. Severe snowy winter < -32 
C. Moderately severe winter with little 

snow 
- 13  to - 32 

D. Moderately severe snowy winter -13  to  -32 
E. Moderately mild winter 0 to -13  
F. Mild winter > O  

< 50 
z 50 
< 50 
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the climatic conditions of each area by a three-symbol combination, for 
example, I I , 4 ,  D (climatic conditions humid, with a warm summer, and a 
moderately severe, snowy winter). 

A general scheme of classification of the climates of the USSR is presented 
in Table 35, analogous to a certain part of the table of geographical zonality. 
It should be noted that the quantitative definitions of climatic conditions in 
these tables are slightly different. Such differences are associated first with 
the fact that the climatic indices used in Tables 31-33 do not coincide, though 
they are analogous. Besides, it should be borne in mind that in designing a 
climatic classification for the USSR, precipitation values in regions with a 
great quantity of solid precipitation have been determined by an indirect 
method. This permitted us to avoid the large errors in precipitation sums 
that are found in observational data. 

Other differences are of a terminological character (for example, the term 
“too moist” in Table 32 possesses a narrower meaning than in Table 31), 
or are a consequence of more detailed analysis of schemes of climatic classi- 
fication for the area of the USSR. 

All these differences, however, are of a specific character and do not 
disrupt the connection in principle of the model for classification of climate 
with the table of geographical zonality. 

I t  is seen from Table 35 that in the territory of the USSR, twelve types of 
basic climatic regions, corresponding to the different geographical zones, are 
delineated. The basic climatic regions are divided into 32 types of interzonal 
climatic regions on the basis of winter conditions. 

The spatial location of climatic zones and regions is shown on the map of 
the climatic regionalization of the USSR (Fig. 107). 

It is apparent from this map that the zone of excessively moist climate with 
a very cold summer (I, 1) corresponds with the area of Arctic desert situated 
on islands of the Arctic Ocean and in the northern mountain part of Taimyr 
Peninsula. A considerable portion of the zone’s territory is occupied by 
glaciers. The glacier-free area is covered for most of the year by snow and 
possesses a weakly developed soil mantle (the Arctic soils). A very meager 
vegetation (lichen, moss, and so on) does not form a closed cover and usually 
occupies less than half the total soil surface. Because of low temperatures and 
high humidity in this zone, evaporation is rather small and in some periods 
may be replaced by condensation. Thus, precipitation is mainly disposed of as 
run-off. 

The zone of excessively moist climate with a cold summer (I, 2) coincides 
in general with the tundra and forest-tundra zones, embracing the northern 
and northeastern coasts of the USSR and also some interior continental 
regions of the northeast (mountain tundra). The tundra soils typical of this 
zone usually contain comparatively little organic matter and are character- 



TABLE 35 
CLASSIFICATION OF THE CLIMATES OF THE USSR 

Moisture conditions (index of dryness) 

W m 
0 

Thermal conditions of the 
warm period-the sum of I I1 111 IV 
temperatures at the sur- Too moist Moist Insufficiently moist Dry 

face of the earth (< 0.45) (0.45-1 .00) (1.00-3.00) (> 3.00) 

- - - 1. Very cold. Air tem- 
perature < 10°C all 
Ye= 

1, 1, c 
Arctic desert 

2. Cold, 0-1000" I, 2, A-E - - - 
Tundra and 
forest-tundra 

3. Moderately warm, 1, 3, E 11, 3, A-E 111, 3, A-E IV, 3, C-D 
1000-2200" Alpine meadows Needleleaf forest Mountain steppe and Mountain desert 

Siberian steppe 

Mixed and broad-leaved Steppe and forest-steppe Northern desert 
forest 

Subtropical forest Xerophytic subtropical Desert 

4. Warm, 22004400" - 11, 4, C-E 111, 4, C-E IV, 4, C-E 

5.  Very warm, ~ 4 4 0 0 "  - 11, 5, F 111, 5, E-F IV, 5, E-F 

vegetation 



Fig. 107 Climatic regions of the USSR. Climate: I-abundantly humid, 11-humid, 111-insufficiently humid, IV-dry. Summer : 1-very 
cold, 2-cold, 3-moderately warm, &warm, %very warm. Winter: A-severe with little snow, B-severe and snowy, C-moderately 
severe with little snow, D-moderately severe and snowy, E-moderately mild, F-mild. 
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ized by low activity of biological processes. The tundra vegetation developing 
during the relatively short period of absence of snow cover is characterized 
by a predominance of moss, lichen, and also (in the southern part of the zone) 
shrubs and dwarf trees. Although the magnitudes of annual evaporation 
for the tundra zone are only approximately known, it is evident, however, 
that this process disburses a minor fraction of the precipitation received, 
probably no more than 30y0 on the average. Comparatively high values of the 
run-off coefficient are therefore noted in this zone. 

The third climatic zone of surplus moisture, the zone with a moderately 
warm summer (I, 3), corresponds to the regions of alpine meadows. Such 
conditions are observed in a number of mountain regions of the USSR, but 
only on the ridge of the Great Caucasus do they embrace an extensive area 
that can be shown in the accompanying map. In this area, a vegetation of 
subalpine and alpine meadows that is rather rich in terms of type composition 
is developed on mountain-meadow soils. The precipitation ensures abundant 
run-off at a high value of the run-off coefficient. 

Absence of forest vegetation is typical of the landscapes of climatic zones 
with surplus moisture. It must be indicated that the absence of forest in 
these zones is associated, not only with a deficiency in heat, but also with a 
moisture regime unfavorable to forest vegetation. In these zones, a significant 
predominance of precipitation over evaporation maintains a high water 
content in the soil throughout the year. Development of the root system of 
trees is therefore complicated by a deficiency of oxygen in the soil. 

The effect of moisture conditions on the distribution of forest vegetation is 
distinctly expressed in the location of the southern border of the tundra, 
which shifts toward higher latitudes in regions with a less moist climate. This 
regularity also is of great importance for an explanation of the absence of 
forest in those regions of the alpine meadows where temperature sums are 
quite sufficient for development of forest vegetation. 

The following group of climatic zones with a moist climate (11) includes, 
like the previous group, three zones. 

Conditions of a moist climate with a moderately warm summer (II,3) are 
characteristic of an extensive area of needleleaf forest, embracing the northern 
part of the European USSR (except the northern coastal regions) and the 
greater part of the Asian area of the USSR. 

In the zone in question, podzolic soils are characteristic where forest 
vegetation consisting of evergreen and deciduous needleleaf species is de- 
veloped. The deciduous needleleaf (larch) forest is situated mainly in regions 
with the most severe winter conditions. Although mean precipitation totals 
over the area of needleleaf forest vary over a wide range, significant water 
content in the soil and sufficiently high values of the run-off coefficient are 
nevertheless observed in all parts of this zone. For this reason, flow in 
many large rivers is reliably formed in the needleleaf forest zone. 
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The climatic zone of moist climate with a warm summer (II,4) is situated 
in the middle part of the European USSR and in the southern part of the 
Priamur’ia and Primor’ia territories. In this district, mixed and broadleafed 
forests of diverse species compositions develop on turf-podzol and gray- 
forest soils. 

A comparatively small part of the territory of the USSR is occupied by the 
zone of moist climate with a very warm summer (11, 5), which covers the 
western Transcaucasus and the southern region of the eastern Transcaucasus. 
Yellow and red earths, that is, soils of a subtropical type, are characteristic. 
In this area, the broadleafed forests to a great extent also have a subtropical 
character. Abundant precipitation, much exceeding potential evaporation, 
maintains a comparatively high soil moisture and ensures high run-off. 

The climatic zones with a moist climate are characterized by development 
of forest vegetation. The principal factor favoring predominance of forest 
landscapes in these zones is the high soil moisture during the warm season, 
which, however, does not exceed those limits beyond which insufficient soil 
air prevents the development of the root system of trees. 

I t  should be noted that forest vegetation can exist only with significant 
transpiration, because the intensity of turbulent diffusion at  the level of 
tree crowns far exceeds that near the earth‘s surface. The increased turbulent 
exchange and the large total area of leaves make possible a relatively high 
level of assimilation, assuring the development of a considerable mass of 
nonproducing plant organs (trunks and branches). 

With insufficient soil moisture, restricting the transpiration necessary for 
trees, forest vegetation is replaced by steppe vegetation, which is better 
accommodated to conditions of soil-moisture deficiency. 

The zone of insufficient moisture with a moderately warm summer [IIT, 31 
corresponds to the climatic conditions of a number of mountain regions of 
Central Asia and south-central Siberia. This zone also includes an extensive 
area in the middle reaches of the Lena River and the lower reaches of the 
Viliui River. In the mountains of Central Asia in this zone, mountain steppe 
and sparse high-mountain vegetation develops. In the south of Siberia, turfy- 
grassy and tansy steppes are widely distributed. In southern Siberia, a part 
of this climatic zone is occupied by pine forest, known to be of an intrazonal 
character. Vegetation cover of the territory situated along the middle reaches 
of the Lena River, referred to above, is rather complicated and is character- 
ized by a mixture of needleleaf forest with lacustrine meadows (forest-steppe). 

The basic part of the zone of insufficient moisture and warm summer 
(III,4) is situated in the south of the European USSR and western Siberia. 
Analogous climatic conditions are also observed in some mountain regions 
of the Caucasus and Central Asia. Black earth [chernozem] and chestnut 
soils, on which various kinds of steppe and forest-steppe vegetation are 
developed, are characteristic of this zone. 
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The zone of insufficient moistening with a very warm summer (III,5) is 
present on comparatively small areas of the southern shore of the Crimea, 
the central Transcaucasus, a part of the east coast of the Caucasus, and in 
some piedmont regions of Central Asia. In this zone, subtropical steppe, 
thin xerophytic forest, and other types of xerophytic vegetation cover are 
widely distributed. A part of the territory is occupied by intrazonal vegetation 
(floodplains of the Terek River, and so on). 

All the zones of climate with insufficient moisture are characterized by 
relatively small run-off coefficients, which usually do not exceed 0.10-0.20. 
Because annual precipitation is less than potential evaporation, most of the 
precipitation goes for evaporation. 

Climatic zones with an arid climate occupy the greater part of the areas of 
Central Asia and the eastern Transcaucasus. 

The zone of arid climate with a moderately warm summer (IV, 3), situated 
in the Pamirs, corresponds to the conditions of high-mountain deserts. 

The zone of arid climate with a warm summer (IV, 4) embraces semi- 
deserts and deserts with Artemisia and solonchak vegetation. Conditions of 
arid climate with a very warm summer (IV, 5 )  correspond in the main to the 
regions of deserts with saxaul, shrub, and ephemeral vegetation. In all zones 
of arid climate, the light-chestnut, brown-desert-steppe, gray-brown desert 
soils, gray earths, takyr, and other types of soils typical of arid conditions are 
widely distributed. Meager precipitation in these areas is almost entirely spent 
for evaporation; run-off is usually close to zero. 

In climatic zones with insufficient precipitation and in zones with an arid 
climate, the development of vegetation is determined to a considerable 
extent by the regime of soil moisture. In proportion to the reduction of soil 
moisture with an increase in climatic aridity, the possible value of transpira- 
tion from a unit area of a given region diminishes. For this reason, the 
character of the vegetation cover changes, its composition begins to include 
different xerophytes, and it ceases to be continuous. Thus, all the principal 
climatic zones are in a certain accordance with general geographical zonality 
and, in particular, with geobotanic zonality. Areas in which this accordance 
is noticeably disturbed are comparatively few. 

They include, for example, the area situated in the region of the middle 
Lena River and lower Viliui River, where conditions of insufficient moisture 
occur that usually correspond to forest-steppe vegetation. However, it 
follows from the “ r e o 6 0 ~ a ~ m e c ~ a ~  Kap-ra CCCP (Geobotanical Map 
of the USSR”) by Lavrenko and Sochava (1954) that in this region, a needle- 
leaf forest prevails, for which conditions of a moist climate are typical. 

In this connection, we should note that in  this area regions with lake- 
meadow ( a h )  vegetation (that is, forest-steppe) and also regions with 
solonchaks, which usually develop under conditions of insufficient moisture, 
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are comparatively widely distributed. Presumably, this was the basis for 
plotting the forest-steppe zone over a considerable part of this area in earlier 
geobotanic maps. It might be considered that the vegetation cover in this 
region is of a complicated character that depends not only on climatic 
conditions but also on the peculiarities of relief and on the effect of perma- 
frost, which here extends down to great depths. 

Some discrepancies between types of vegetation and climatic conditions 
are also observed in individual regions with pronounced effect of edaphic 
factors, in particular, in regions with sandy soils (where intrazonal pine 
forests are widely distributed), in the floodplains of rivers, and so on. 

It should be borne in mind that the effect of many nonclimatic factors on 
vegetation cover shows up, not immediately, but through local changes of 
the meteorologic and hydrologic regimes. These changes correspond to 
peculiarities of the local climate and microclimate that cannot be reflected 
in climatic maps of limited scale. Therefore, it can be considered that in 
reality, there exist still closer relations between climate and vegetation, as 
compared to the regularities that can be established through comparison of 
schematic maps of climatic regions and vegetation cover. 
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VII 
The Thermal Regime of Living Organisms 

1. The Influence of Thermal Factors on Plants and Animals 

The thermal conditions of life are restricted within comparatively narrow 
limits. Most reactions in biological systems occur at  temperatures no lower 
than 0°C and no higher than 50°C. Although many organisms can exist at  
temperatures of an external medium that go beyond these limits, their 
activity usually ceases. This interval is expanded for organisms that can 
control their temperature; but even for them, the thermal zone of life is 
narrower than the range of temperatures observed on the globe. In the 
regions with the highest and lowest temperatures, biological processes are 
therefore either inhibited or absent. 

Within the range of temperatures permitting development of biological 
reactions, the rate of these reactions, as a rule, depends essentially on the 
temperature. For quantitative evaluation of these dependences, so-called 
temperature coefficients are often used, which indicate by what factor the 
reaction rate increases when the temperature rises by 10". 

The value of temperature coefficients for various biological processes 
varies within wide limits, from 1.2-1.4 to several units, in many cases being 
close to 2. Usually, the increase of reaction rate with temperature rise is 
restricted to a certain limit, beyond which the growth of the reaction rate 
stops and changes into a decrease. 

Temperature greatly affects almost all the biological processes in plants. 
This influence is associated with a number of different mechanisms. Thus, for 
example, the solubility in the cell solution of the principal components of 
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mass exchange or metabolism in plants-carbon dioxide and oxygen-de- 
creases appreciably with a rise in temperature. When carbon-dioxide content 
in the cell solution changes, acidity changes accordingly, which affects 
several biochemical processes in plants. 

The fundamental process of the life activity of autotrophic plants, photo- 
synthesis, which determines their productivity, depends essentially on thermal 
conditions. 

According to experimental data, the dependence of photosynthesis on 
temperature is most important at  low temperatures, slightly above the 
freezing point. Under such conditions, photosynthesis is mainly limited by 
enzyme reactions, the temperature coefficients of which usually exceed 2. As 
a result, photosynthesis rapidly increases with a temperature rise. At higher 
temperatures, the increase in photosynthesis with a temperature becomes 
slower, and at  a temperature around 20-25", photosynthesis reaches its 
maximum. Deceleration of the increase in photosynthesis at  higher tempera- 
tures can be explained by the limiting effect of light reactions, which depend 
little on thermal conditions. A further rise of temperature leads to a decline 
of photosynthesis, which presumably is explicable by thermal inactivation of 
enzymes. 

I t  should be noted that in some plants, photosynthesis can also occur at  
negative temperatures, though under such conditions its value is very small. 

More simple is the dependence of plant respiration on temperature. The 
value of respiration increases regularly as temperature rises, with compara- 
tively large values of the temperature coefficient. 

Temperature greatly influences the growth and development of plants. 
The effect of thermal conditions on the growth of plants is similar to that of 
temperature on the activity of enzymes. 

At temperatures from 0 to 15"C, the rate of growth rapidly increases with 
a rise in temperature; at temperatures from 15 to 30"C, the increase of the 
growth rate becomes slower; and at  temperatures above 30" the rate of growth 
starts decreasing. Lowering of temperature at  night produces a favorable 
effect on the growth of plants. The mechanism of this effect is still insufficiently 
studied. The only thing clear is that it is not limited to the action of lowered 
temperature on the decrease of plant respiration in the period of absence of 
photosynthesis. 

The dependence of plant growth on temperature has long been taken into 
account in agriculture when estimating the heat resources of different regions. 
In the middle of the 19th century, de Candolle (1874) suggested that the 
temperatures of single days be summed up for this purpose. The method of 
"temperature sums" in its various forms has been used in agrometeorology 
up to the present time. 
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The effect of temperattire on the development of plants is rather compli- 
cated. The character of this effect changes substantially in different phases 
of a plant’s life. Thus, for example, for normal development of many plants, 
periods of an appreciable lowering of temperature are necessary; otherwise 
the ability to flower is lost or other functions of the plants are disturbed. 

For all plants, there are temperature limits that determine their existence. 
At low temperatures, plants are damaged as a result of formation of ice 

crystals in their tissues. The crystals destroy the cell walls both directly and 
as a result of water transfer in the tissues during the freezing process. 

The size of the temperature drop that can be endured by plants varies 
within wide limits for different plants. It also depends on the rate of lowering 
of temperature (plants more easily endure a slow cooling than a fast one) 
and on the degree of chilling of the plant, that is, on the cooling that it has 
experienced earlier. 

Temperature rises exceeding definite limits also do harm to plants, in- 
cluding the destruction of chlorophyll, leaf burn, and other damage that with 
a further rise of temperature lead to the destruction of the plant. 

Stability under the action of high temperatures is different for different 
plants. Succulent plants of the desert can endure the highest temperatures 
without damage. 

Thermal factors thus exert a deep and determining influence on the vital 
activity of plants. The geographical distribution of plants, their seasonal 
changes, and the species composition and productivity of vegetation cover 
therefore all depend on thermal conditions. 

The effect of temperature on the life activity of animals is no less important 
than its influence on plants. All animals are divided into two groups with 
reference to heat regime : poikilothermal animals, whose body temperature 
varies over a wide range, and homoiothermal animals, who maintain their 
body temperature at an approximately stable level. Sometimes an inter- 
mediate group of heterothermal animals, who can control their body tem- 
perature to a limited extent, is added to the groups mentioned. 

The body temperature of poikilothermal animals usually does not coincide 
with the temperature of the external medium, because of the effect of meta- 
bolic processes, which are associated with the secretion of heat. However, 
the heat production of such animals is as a rule insignificant, so that the 
difference is usually small. This rule has some exceptions, at moments of 
high activity of animals. Thus, for example, the body temperature of many 
insects sharply increases during flight. 

There also exist other factors whose effect may contribute to a change in 
the temperature of poikilothermic animals in comparison to the external 
medium. Thus, for example, body temperature can fall as a result of heat loss 
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caused by evaporation from the animal's body surface, and with the outgo of 
long-wave radiation to space. Absorption of solar radiation can lead to a rise 
of the body temperature. 

Fluctuations of the body temperature of large poikilothermal animals (such 
as some reptiles) may noticeably lag behind changes in the temperature of the 
external medium because of the effect of thermal inertia of the animal's 
body. 

The homoiothermal animals include the two highest classes, birds and 
mammals, which, during the course of evolution, have worked out an effective 
mechanism to maintain a stable body temperature independent of external 
conditions. This mechanism is based on the activity of the heat regulation 
center, located in one of the sections of the brain, the hypothalamus. When 
the external factors of the thermal regime change, this center ensures an 
appropriate change in the systems of physical and chemical heat regulation, 
which enables the animal to maintain a constant body temperature. The 
basic means of heat regulation is the wide variability of metabolism, which 
sharply increases with falling temperature. Along with the means of heat 
regulation mentioned, many animals possess other means, changing evapora- 
tion from the body surface, state of the coat of hair, and so on. Different 
homoiothermal animals have different body temperatures. For birds, it is 
commonly equal to 40-42', and for mammals it more often ranges from 36 
to 39'. The stability of body temperature is relative for homoiothermal 
animals. It often varies during the diurnal march, when muscular activity 
changes, in the regime of nutrition, and with other factors. Under external 
environmental conditions anomalous for the homoiothermal animal, its 
body temperature can fluctuate markedly. 

Vital activity of both poikilothermal and homoiothermal animals is 
possible within the limits of a certain range of body temperature, bounded by 
the so-called lethal temperatures. 

These temperatures for one and the same species of animal can differ 
significantly, depending on the acclimatization of the animal, that is, on its 
earlier existence at  higher or lower temperatures. 

The lethal temperatures of poikilothermal animals are diverse. Some animals 
die at  comparatively small changes in their body temperature, and others 
bear temperature changes amounting to tens of degrees without harm. 

For homoiothermal animals, the difference between the upper and lower 
lethal temperatures lies most often within the limits of 15-25 C'. For man, 
with a normal body temperature of about 37', the lower lethal temperature 
is 24-25' and the upper is 43-44'. 

The biological functions of both poikilothermal and homoiothermal 
animals change considerably with fluctuations in body temperature. 

The temperature effect is very great on the vital activity of poikilothermal 
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animals, whose activity is possible only within a definite and sometimes 
rather narrow range of temperature. For this reason, the behavior of poikilo- 
thermal animals is often determined by the necessity of maintaining the 
optimal body temperature. Thus, for example, with a shortage of heat, 
many insects, reptiles, and other animals move into sites in the sun and take 
a position that ensures the greatest radiative heating of their bodies. When 
the earth’s surface is overheated by the sun, these animals abandon it. They 
either go to their holes or move to the branches of plants where the tempera- 
ture of the air is lower than the temperature of the earth’s surface. We should 
especially point out the great influence of thermal conditions on the re- 
production processes of poikilothermal animals, which in many respects 
determines their ecology in a particular period. 

Although the ecology of homoiothermal animals depends to a lesser extent 
on thermal regime, under unfavorable conditions these animals also use 
microclimatic features of the landscape to approximate their body tempera- 
ture to the optimum. 

The necessity of such actions is especially great for small animals, whose 
body thermal inertia is insignificant. They accordingly become cooled more 
easily at low temperatures of the environment, because of the large value of 
the ratio between the body surface, through which the outflow of heat takes 
place and the body mass, which determines the heat production from meta- 
bolism (Rubner’s law). 

The substantial influence of thermal factors on the vital activity of animals 
determines the importance of thermal conditions of the external environment 
to the geographic distribution of animals and their ecology. 

2. The Thermal Regime of Plants 

In  investigations of the effect of thermal factors on the vital activity of 
plants, data on the air temperature observed at a certain height in an instru- 
ment shelter are most often used. 

At the same time, it was noted long ago that air temperature only approxi- 
mately defines those thermal conditions that take form immediately on the 
surface of plants as a result of the complex interrelation of the heat exchange 
processes. 

For example, this viewpoint was expressed in the outstanding work by 
Veselovskii, “0 KnaMaTe Poccaw (On the Climate of Russia)” (1857), 
published more than a hundred years ago. He wrote: “Since the vegetative 
processes and the phenomena of organic life in general occur more or less 
under the influence of the direct action of the sun’s rays, the study of climate 
in terms of thermal conditions would be incomplete if we restricted ourselves 
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to air temperature alone. Therefore, in the chapter about heat we will first 
speak about the heat of the air and then about the heating power of the 
sun’s rays, or the temperature received from the sun by bodies on the earth’s 
surface.” In developing this idea, Veselovskii pointed out that “even on 
the basis of differences between the causes acting on the heating of the air 
and the conditions determining the heating of the earth’s surface, it must be 
supposed that .  . . the lines of a specific annual air temperature and the lines 
of the same temperature of the upper layer of the earth will not be parallel.” 
To illustrate this statement, Veselovskii gave some examples indicating sharp 
differences between the states of vegetation cover at the same air temperature 
but different incomes of solar radiation. 

It should be recognized that these considerations of Veselovskii were far 
ahead of contemporary science, and that the task he set to determine the 
characteristics of the thermal regime that immediately affect the life of plants 
was not solved for a long time. 

Experimental data characterizing the actual temperature of plants can be 
obtained by application of special instruments, such as thermoelectric 
thermometers, probes of which look like thin nets or “spiders,” or radiation 
thermometers, measuring temperature by the flux of long-wave radiation. 

Some results of observations conducted with such instruments are pre- 
sented in Figs. 108-1 10 (Budyko, 1958). 

Figure 108 shows the mean diurnal march of the difference between the 
temperatures at  the earth’s surface and in the air in the period May 21-26, 

r 

Hour of the day 

Fig. 108 Diurnal march of the difference between temperatures of the earth’s surface 
and the air at Koltushi. Solid lines show measured values, broken line indicates calculated 
values (see text). 
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1956, according to observations over a plot with grass cover at Koltushi 
(Leningrad region). The solid curves define the observational results (1- 
measuring plant-surface temperature with the radiation thermometer; 2- 
with the thermo-spider). 

The data from Fig. 108 show what values may be reached by the differences 
between the earth's surface temperature and the air temperature in regions 
of abundant precipitation. It is apparent from the graph that under moist 
climatic conditions, the mean differences between these temperatures in the 
daytime hours may exceed 10". A certain difference between the readings of 
the radiation and the thermoelectric thermometers shown in the figure is 
worthy of attention. This difference is likely not only to be associated with 
errors in observations of each of the methods, but also to reflect (to some 
extent) the difference between the physical meanings of temperature deter- 
mined by the different methods. 

I t  follows from the data presented in Fig. 108 that even under conditions 
of abundant moisture, the temperature of plants may differ from that of the 
air by a figure comparable with the geographic variation of temperature 
over distances of thousands of kilometers. The cause of the difference 
obviously lies in the heating of the plant surface by the sun's rays. 

Figure 109 shows data on observations of the mean difference between 
temperatures of the earth's surface and the air in a desert region, and Fig. 
110, in an oasis in Central Asia, according to the data from the expedition of 
the Main Geophysical Observatory in July, 1952. 

0 4 8 12 I6 20 24 

Hour of the do) 

Fig. 109 Diurnal march of  the difference between temperatures of the earth's surface 
and the air in the desert. Solid line shows measured values, broken line indicates calculated 
values (see text). 
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The data of Fig. 109 relate to a dry surface of the desert. They are interest- 
ing as defining the limit reached by the difference between air and plant 
temperatures under desert conditions, if the plants are adjacent to the earth’s 
surface and lose little heat in evaporation. Figure 110 demonstrates the 
difference between the temperatures of cotton leaves and the air under 
conditions of abundant moisture with irrigation. It is apparent from Figs. 
109 and 110 that the thermal regime of plants in the desert varies greatly, 
depending on moisture conditions. Without irrigation, the temperature of a 
plant in the daytime may be much higher than air temperature; with irri- 
gation, which ensures a greater heat conversion in evaporation, plant tem- 
perature turns out to be noticeably lower than air temperature. 

Hour of the day 

Fig. I10 Diurnal march of the difference between the temperatures of the earth’s 
surface and the air in an oasis. Solid line shows measured values, broken line indicates 
calculated values (see text). 

Thus, it becomes clear that the actual temperature of plants often does not 
coincide with the temperature of the air. This conclusion is confirmed by 
observations conducted by many investigators under different climatic 
conditions. 

Since we do not possess mass observational material on plant temperatures 
obtained with the aid of special instruments, which might be used instead of 
data on the air temperature in studying the effect of climatic factors on plants, 
there arises a question about the possibility of obtaining such material by 
calculation, on the basis of data from standard observations conducted in 
the network of meteorological stations. One may solve this problem by calcu- 
lating the heat balance of vegetation cover (Budyko, 1958). 

The determination of plant temperature by the heat-balance method is 
based on the following considerations. 

The equation of the heat balance of the land surface has the form 

R = LE + P + A ,  

where R is the radiation balance, L is the latent heat of vaporization, E is the 
evaporation, P is the turbulent sensible-heat flux, and A is the inflow of heat 
to the soil. 

(7.1) 
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After transforming the components characterizing radiation balance and 
sensible-heat exchange, this equation can be presented in the form 

Ro - 46oT3(TW - T) = LE + pc,D(T, - T )  + A ,  (7.2) 
where Ro is the radiation balance at  the earth’s surface calculated by deter- 
mining net long-wave radiation from air temperature, S is the coefficient 
characterizing the difference between the properties of the radiating surface 
and a black body, u is the Stefan-Boltzmann constant, T is the air tem- 
perature, T, is the temperature of the earth’s surface, p is the air density, c, 
is the heat capacity of the air, and D is the integral coefficient of diffusion. 

It follows that 

(7.3) 
Ro - LE - A 

T , - T =  pcPD + 4SaT3’ 

This formula can be applied to calculate the temperature of the earth’s 
surface in the cases when the air temperature, the heat-balance components 
Ro , LE, and A ,  and the integral coefficient of diffusion D are known. 

The methods for calculating the above-mentioned components of the heat 
balance from the data of standard meteorological observations are set forth 
in Chapter I1 of this book. The value of the coefficient D can often be con- 
sidered constant. Its mean for daytime conditions in summer approaches 
1 cm sec-l, and for mean 24-hour conditions in summer, about 0.6 cm sec-l 
(see Chapter 11). 

In some cases, especially under conditions of abundant moisture in the 
terrain, the temperature of the active surface can be calculated from Eq. 
(7.2) on the assumption that 

E = P m s  - 4 )  (7.4) 
(where qs is the saturation specific humidity at the temperature of the active 
surface, and q is the specific humidity), taking into account the dependence 
of qs on T, . 

In a closed vegetation cover, the leaves of plants usually constitute a basic 
part of the “active surface,” where heat and water exchanges with the 
atmosphere occur. In this case, it can be considered that the mean tempera- 
ture of the plant leaves is approximately equal to the temperature of the 
earth’s surface determined from Eq. (7.3). 

The results of applying the heat-balance method to calculate the tem- 
perature of the earth’s surface are presented in Figs. 108-110, where they 
are shown by a broken line. It is apparent from the figures that the calculated 
material agrees well with the observational data. This clarifies the possibility 
of using the heat-balance method for determination of the temperature of 
the vegetation cover. 
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In this connection, the problem of obtaining mass material on the active- 
surface temperature and constructing a map of its distribution has been 
raised. For this purpose, Efimova calculated the monthly means of the 
difference between temperatures of the active surface and the air in the 
European USSR, and constructed a series of maps of this difference and of 
the active-surface temperature in each month of the warm season. In her 
calculation, she used a mean of the coefficient D equal to 0.63 cm sec-l. 

One of these maps, showing the monthly means of the difference T, - T 
in July, is presented in Fig. 1 1  1. The regularities of the geographical distri- 
bution of the difference T, - T shown in this map are also typical of other 
months of the warm season. 

It is apparent from the map that the difference T, - T increases from the 
central and western regions of the European USSR toward the south and 
southeast. Such changes are probably to be explained by a decline of heat 
converted in evaporation, owing to a reduction of soil moisture in these 
directions. At first glance, the increase of temperature difference in the 

Fig. 111 Difference between the temperatures of the earth's surface and the air in 
July. 
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northern regions of the European USSR is somewhat unexpected. This 
regularity is presumably connected with conditions of the transformation 
of [marine] air masses with comparatively low temperatures that come into the 
continent in summer and are gradually heated as they move into the interior. 

The heat-balance method can be also used for working out another problem 
in the investigation of the temperature of vegetation cover. I t  is known that 
the conditions of the thermal regime on the more or less steep south and north 
slopes lead to development of different kinds of vegetation on them, whereas 
observations of air temperature conducted at the level of the meteorological 
shelter do not indicate any substantial difference between the temperature 
regimes of north and south slopes in conditions of hilly relief. It is apparent 
from general considerations that the difference between the conditions of 
heating on the hillsides is associated with the differences in the radiation 
regime and therefore ought to be manifested in the greatest degree at the 
level of the earth's surface. At higher levels, the turbulent mixing of the 
atmosphere smoothes out temperature differences arising at  individual 
elements of the earth's surface. Thus, for a quantitative evaluation of the 
effect of the thermal regime of slopes on the development of vegetation, one 
must have data on the surface temperature of slopes of different steepness 
and orientation. 

To obtain such data, a series of calculations based on utilization of the 
aforementioned equations of the heat balance was carried out. In these, the 
changes in the radiation-balance values on hillsides, associated with the change 
in direct-beam solar radiation and in net long-wave radiation, were con- 
sidered. 

Some results of these calculations are given in Table 36, where the differ- 
ences are presented between monthly mean temperatures at the earth's 

TABLE 36 
DIFFERENCES BETWEEN TEMPERATURES AT THE EARTH'S SURFACE ON 

SLOPES FROM THOSE ON LEVEL GROUND 

North slopes South slopes 

Region Month 20" 10" 10" 20" 

Volgograd May - 1.3 - 0.7 0.3 0.8 
July - 1.3 - 0.8 0.1 0.5 
Sept. - 3.3 - 1.7 1.7 2.9 

Tashkent March -2.3 - 1.2 0.9 1.8 
May - 1.8 - 1.0 0.5 1.2 
July - 1.9 - 0.7 0.4 0.8 
Sept. -4.1 - 1.8 2.0 3.6 
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surface of north and south slopes with a steepness of 10 and 20" and in a flat 
place. The data relate to several months of the warm season in the regions of 
Volgograd and Tashkent. 

It is seen from this table that the temperature differences between the hill- 
sides increase with a decline in mean sun altitudes, and reach rather large 
values in spring and autumn. 

It is evident that such data can be useful for an explanation of the effect 
of microclimate on vegetation cover under conditions of rugged relief. 

It has already been mentioned that agrometeorologists use the values of 
air-temperature sums as the principal indicator of the thermal regime. Using 
the material on the temperature at the earth's surface obtained by the heat- 
balance method, we compare the sums of air temperatures exceeding 10" 
(1 T )  and the sums of active-surface temperatures (exceeding 10") (2 T,) 
for the-same period and at  a number of points. The results of the comparison 
are given in Table 37. 

TABLE 37 
SUMS OF AIR TEMPERATURES ABOVE 10°C (XT) AND SUMS OF ACTIVE- 

SURFACE TEMPERATURES [ABOVE 1o"c] (ZTw) IN THE SAME PERIOD 

Region X T  2Tw Region 2 T  2Tw 

Murmansk 780 1090 Kiev 2600 2790 
Arkhangel'sk 1250 1570 Voronezh 2630 3020 
Leningrad 1820 2140 Poltava 2730 3060 
Moscow 1990 2250 Emba 2980 3700 
Gor'ky 2030 2300 Volgograd 3300 4060 

The data show that the sums of temperatures at  the earth's surface, which 
in all cases are greater than the sums of air temperatures, do not change in 
proportion to the latter. 

The greatest relative discrepancy between the temperature sums at  the 
earth's surface and in the air is observed in the extreme north (Murmansk). 
In eastern regions, the relative difference between the temperature sums 
increases slightly in comparison to western regions. 

The great absolute differences between the temperatures of the earth's 
surface and the air and the great relative differences between the correspond- 
ing temperature sums in the Far North presumably indicate an important 
influence of the landscapes of these regions. It is well known that the charac- 
teristic feature of tundra vegetation is its dwarfed nature, which may be 
associated with a tendency to improve a thermal regime that is unfavorable for 
plant development. 
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It  has frequently been pointed out in agrometeorological investigations 
(Davitaia, 1948; Selianinov, 1930) that the same temperature sum often turns 
out more effective for the development of vegetation in northern regions 
compared to southern ones, and in eastern regions of the USSR compared to 
western. 

Such a regularity has been explained by the greater length of day in the 
north in summer, and by a more favorable diurnal temperature march in the 
east owing to the more continental character of its climate. Although we do 
not reject these fully trustworthy explanations, we believe that they only 
partially define the indicated differences in the effectiveness of the tempera- 
ture sums. It  is highly probable that a considerable part of the differences can 
be explained by the different relationships between the temperature sums of 
the earth's surface and the air in these regions. Thus, using material on the 
temperature of the earth's surface may prove to be important for specification 
of agrometeorological calculations. Such data may prove especially useful for 
an evaluation of peculiarities of the thermal conditions associated with the 
development of vegetation on hillsides. 

In accordance with the data of this calculation, Table 38 shows the differ- 
ences between the sums of the temperatures at  the earth's surface on slopes 
and in a flat place for the period when air temperature was above 10" in the 
regions of Volgograd and Tashkent. 

TABLE 38 

ON SLOPES FROM THOSE ON LEVEL GROUND 
DIFFERENCES BETWEEN THE SUMS OF THE EARTH'S SURFACE TEMPERATURES 

~ 

North slopes South slopes 

Region 20" 10" 10" 20" 

Volgograd - 300 - 170 110 250 
Tashkent - 570 - 260 220 430 

This table shows that comparatively steep north and south slopes are 
characterized by substantial differences between the temperature sums and, 
consequently, by substantial differences in the conditions of growth of 
agricultural and natural vegetation. 

The above procedure for determining temperature at the earth's surface 
for evaluation of the thermal regime of plants has been used in a number of 
studies (Zubenok, et al., 1958; Mishchenko, 1962, 1965, 1966; "MHKPO- 
KnliMaT CCCP (Microclimate of the USSR)," 1967 ; and others). 

These studies have confirmed the good agreement between vegetation 
temperature measured by direct methods and temperature calculated from 
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the heat balance at  the earth's surface. Data in these investigations confirm 
the existence of great differences between the temperatures of plants and the 
air in many geographical regions in different weather conditions. Maps of the 
differences between the temperatures of the earth's surface and the air in the 
area of the USSR were drawn in the studies mentioned. 

The paper of Davitaia and Mel'nik (1962), in which the question of the 
effect of radiative heating of the earth's surface on the location of the forest 
boundary was considered, is worthy of attention. The authors of this paper 
established the fact that the northern boundary of lowland forest corresponds 
to a summed air temperature above 10" approximately equal to 600-700". 
At the same time, in mountain conditions, forest reaches altitudes with much 
lower air temperatures, whose sum for the vegetation period equals 200-300". 

Davitaia and Mel'nik suggested that this difference was determined by 
different conditions of radiative heating of plants in lowlands and mountains. 
To test this hypothesis, they carried out observations of plant-surface 
temperature in the region of the northern boundary of forest on the Kola 
Peninsula and in the zone of the upper boundary of forest in the mountains 
of the Caucasus. The observational data confirmed their hypothesis and 
showed that in both cases the boundary of forest corresponds to practically 
the same sum of temperatures of the vegetation surface. 

Although in most bioclimatic investigations one may confine oneself to 
an evaluation of the mean temperature of the vegetation cover, in some cases 
there is interest in a more detailed study of the temperature distribution 
within the plant space. This question has been considered in some papers, 
in which the heat exchange in the layer of vegetation has been calculated for 
this purpose. 

We will set forth the basic idea of the calculation according to material of 
an investigation along this line (Budyko and Gandin, 1968). If we average the 
meteorological parameters in the vegetation cover along the horizontal, then 
we can consider that the temperature T and the specific humidity q inside the 
vegetation depend only on the vertical coordinate z. In this situation, we 
can set the heat-balance equation for a thin layer dz within the vegetation 
cover in the form 

dQ - dZ= L d E  +- dP, (7.5) 

(where Q is the total short-wave radiation, and Z is the net long-wave radia- 
tion), wherefrom it follows that 

dQ dI dE dP - L -  + -. 
dz dz dz dz 

In addition to this equation, the relations of the components of the heat 
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balance to their determinant factors should be taken into account. These 
relations include these formulas : 

1. for the turbulent flux of sensible heat, 

2. for the turbulent flux of water vapor, 

(where k is the coefficient of turbulent exchange inside the foliage 
space) ; 

3. for short-wave radiation, 

(where s is the specific surface of the leaves, that is, the leaf surface 
in a unit volume [leaf-area density], and y is a coefficient of pro- 
portionality) ; 

4. for the flux of long-wave radiation, 

dTW " - 46aT3 - z- dz 
(7.10) 

(where Tw is plant temperature). 

We must add to these equations the relations that connect the heat ex- 
change and water exchange between the vegetation cover and the air in the 
foliage space with the differences of temperature and specific humidity at the 
leaf surfaces and in the air. 

Simultaneous solution of the listed equations under the given boundary 
conditions permit us to obtain a nonlinear integral equation, which can be 
solved numerically. As a result, we obtain the values of plant temperature at  
different levels in the vegetation, as a function of a number of meteorological 
and biological parameters. The practical importance of such an investigation 
is limited by insufficient knowledge of some parameters that affect the results 
of calculation. 

3. The Heat Regime of Animals and Man 

The heat regime of animals, like that of plants, is closely connected with 
their heat balance. Contrary to plants, the heat regime of the animal's body 
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may depend substantially on the level of metabolism, especially for homo- 
iothermal animals possessing heat regulation (Slonim, 1952, and elsewhere). 

Since the principal physical regularities in the heat regime of animals and 
man coincide, we will first consider the problem of the heat regime of the 
human body. 

In experimental investigations (Buettner, 1952; Burton and Edholm, 1955), 
it has been established that the mean temperature of the surface of the human 
body varies within rather wide limits (more than 20'), depending on the 
relationship between the components of the heat balance. Usually, this 
temperature differs noticeably from that of the internal organs (or from the 
temperature of the body as a whole), which is more stable than the tem- 
perature of the body surface. Different values of mean surface temperature 
correspond to different conditions of heat perception, that is, to a warm, 
a cold, or an intermediate state that is often called the zone of comfort. The 
most favorable state of heat sensation is usually observed at  a mean tem- 
perature of the body surface near 33". At a surface temperature below 29", 
conditions of cold are felt, and at temperatures above 34-35', excessive heat. 

I t  should be noted that notwithstanding the existence of numerous investi- 
gations in this field, the methods that have been applied have not permitted 
us to answer the question about what heat sensation a person experiences in 
one or another region under the influence of the whole complex of meteoro- 
logical conditions, physiological factors, and given type of clothing. 

To solve this problem, a method for calculating the heat balance of the 
human body (Budyko, 1958; Budyko and Tsitsenko, 1960; and others) has 
been applied in recent years. 

Under conditions of a stationary regime, when the temperature of the 
human body changes little in time, the equation of heat balance of the human 
body has the form 

R i- M = LE -k P, (7.11) 

where R is the radiation balance at  the surface of the body, LE is the con- 
version of heat for evaporation, P is the turbulent sensible-heat flux from the 
body surface to the atmosphere, and M is the heat production, which is 
determined on the average by the quantity and calorific value of food 
assimilated during a given period of time. Equation (7.11) does not include 
components that are small compared to the values of the principal components 
of the balance. Among these we should mention the heat loss owing to res- 
piration, which can amount to noticeable values at  low air temperatures. 

In order to consider the thermally insulating effect of clothing on the heat 
balance, we must make up a balance equation for the outer body surface of 
a clothed man and an equation for the outer surface of his clothing. The first 
of the equations can be presented in the form 

A4 = LE' + P', (7.12) 
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in which we assume the evaporation E‘ and the turbulent sensible-heat flux 
P‘ equal to 

E’ = P”, - 4x)a (7.13) 

and 

P’ = pc,D’(T, - Tx),  (7.14) 

where D’ is the coefficient characterizing the heat conductivity of the clothing, 
q, is the saturation specific humidity at  the temperature of the body surface, 
qx and T, are the mean specific humidity and temperature of the air at the 
level of the outer surface of the clothing, T, is the mean temperature of the 
body surface, and a is a coefficient equal to the ratio of the rate of evaporation 
from the body surface to the rate of evaporation from a wet surface under 
the same conditions. 

Let us express the heat-balance equation at the outer surface of the clothing 
as follows: 

Ro + pCpD’(Ts - Tx) = (pc,D + 4SuT3)(Tx - T ) .  (7.15) 

In this equation Ro designates the radiation balance at  the clothing surface, 
calculated on the assumption that its temperature is equal to that of the 
environment. This value is added to the heat flux received at the outer surface 
of the clothing from the body, equal to pc,D’(T, - Tx). The right-hand part 
of the equation expresses the heat loss from the clothing surface, which 
represents the sum of the sensible-heat flux pc,D(Tx - T )  and the radiative 
flux 4SuT3(Tx - T) ,  D designating the integral coefficient of turbulent diffu- 
sion. Equation (7.15) does not include the value of evaporation, since water 
vapor is not generated on the clothing surface. 

We must add to Eqs. (7.12-7.15) a formula that expresses the fact that the 
flux of water vapor passing through the clothing surface does not change in 
value. We present this regularity in the form 

PD’ (qs  - 4x)a = PD(4X - q)a, (7.16) 

where q is the specific humidity of the surrounding air. From Eqs. (7.12-7.16), 
we obtain the relationship 

+ (pc,D + 4SuT3)(T, - T ) .  (7.17) 

Equation (7.17) permits us to calculate the value of T, ,  that is, the mean 
temperature of the surface of the body, in relation to the meteorological 
parameters Ro , T, q, and D ;  the physiological characteristics M and a;  and 
the parameter D‘, characterizing properties of the clothing. In this calculation, 
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we take account of the known dependence of qs on T, expressed by the vapor- 
pressure formula or the psychrometric table. 

Having made such a calculation, we can evaluate the heat sensation of a 
clothed man under various climatic conditions and also determine the com- 
parative effect of different factors on heat sensation. 

Equation (7.17) is simplified if it is applied to calculate the heat regime of 
a man whose clothing does not have a heat-insulating effect. In such a case, 
one assumes that l /D’  = 0, which corresponds to an infinitely great heat 
conductivity of the clothing. We obtain the formula 

Ro + M = LpD(qs - q)a + (pc,D + 4bT3)(Ts - T ) .  (7.18) 

An equation similar to Eq. (7.18) was found in the work of Buttner (1938), 
who used it for evaluation of the effect of individual factors on the heat per- 
ception of man. 

Application of Eqs. (7.17) and (7.18) to calculate the thermal regime of the 
human body under different natural conditions involves some difficulties, 
among which the determination of the radiation balance R, must be especially 
noted. Now, thanks to the availability of mass data on the radiation regime, 
this task becomes simplified and can be approximately solved as follows. 

If we assume that the human body in a vertical position has a form approxi- 
mately corresponding to that of a relatively thin vertical cylinder, the calcu- 
lation of the value R, in this case becomes much simplified. 

From simple geometrical considerations, we obtain the relation that on a 
unit area of the lateral surface of the vertical cylinder falls a quantity of 
direct solar radiation equal to S cot h / r ,  where S is the sum of direct radia- 
tion incident on a unit area of a horizontal surface, and h is the angular 
altitude of the sun. The amount of scattered radiation from the sky incident 
on a unit area of the cylinder’s surface is approximately equal to half the 
scattered radiation Q’ incident on a horizontal element of the surface. The 
income of radiation reflected from the earth’s surface and approximately 
equal to +(S + Q‘)., where Q! is the albedo of the earth’s surface, is added 
to this value. 

Net long-wave radiation at  the unit area of the cylinder’s surface is equal 
to half of the net long-wave radiation at a horizontal surface I, . To this is 
added the algebraic sum of two terms expressing the effect on net long-wave 
radiation of the difference between the temperatures of the cylinder surface 
and the air, and the difference between the temperatures of the cylinder 
surface and the earth’s surface. 

The first of these equals +Su(Ts4 - T4) ,  and the second, +Su(Ts4 - Tw4), 
where T, is the temperature of the earth‘s surface. Their sum is approximately 
equal to 4SuT3(Ts - T )  - 2SuT3(Tw - T) .  The first of these components 
has been already included in the heat-balance equation. 
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Taking this into account, we obtain the following formula: 

1 
2 

1 + 2 Q‘ + 2 ( S  + Q‘). (1 - “0) - - I0 + 2SaT3(TW - T), 

(7.19) 

where a. is the reflectivity (albedo) of the surface of the human body. 
In deriving Eq. (7.19), among other simplifying assumptions, we adopted 

a hypothesis on the isotropy of the fluxes of scattered radiation and long- 
wave emission incident on the cylinder surface. Evaluations that have been 
made show that considerations of anisotropy of these fluxes affect the results 
of calculating the thermal regime of the human body very little. 

To determine the values of S, Q’, and I. in Eq. (7.19), one can use observa- 
tional material and calculation methods. The value of T, - T can be calcu- 
lated by the method set forth in the previous section. 

If we substitute the value Ro into Eqs. (7.17) and (7.18), we will obtain the 
following: 

10 1 2 
1 + 5 Q’ + z(S + Q‘). (1 - ~ ( 0 )  - - + 2SaT3(T, - T )  + M 

= LpD(q, - q)a + (pc,D + 4SaT3)(T, - T). (7.20) 

+ 2hT3(TW - T) + M 1 + pcp~pc+4y7731 

= Lfm% - d a [  1 + pc,(D 4saT3 + D‘) 1 + (pc,D + 4SoT3)(TS - T). (7.21) 

To solve Eq. (7.20) or (7.21), it is necessary to determine the physiological 
parameters they contain, namely, heat production M and the characteristic 
of the evaporation condition a. 

According to data of a series of investigations, the heat production of a 
person in a state of rest and in conditions of thermal comfort is more or less 
stable and approximately equal to 40-50 kcal m-2 hr- l  (that is, 1 . 1  x 
to 1.4 x 

The data of the work of Winslow et al. (1937a) permit us to clarify the 
relationship between heat production and the mean temperature of the body 
surface. 

Figure 112 demonstrates the dependence of heat production M on mean 
temperature of the body surface T,, constructed on the basis of experi- 
mental data contained in the paper mentioned. I t  is seen from the graph that 

cal cm-2 sec-l). 
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Fig. 112 Dependence of heat production on the temperature of the body surface. 

heat production of a man not engaged in physical work depends relatively 
little on the temperature of the body surface in the interval corresponding to 
the zone of comfort. The mean value of heat production turns out approxi- 
mately equal to 1.3 x calcm-2 sec-l, which corresponds to the 
evaluations noted earlier. 

The question about determination of the conditions of evaporation from 
the body surface can be solved with the use of the material from another 
paper by Winslow et al. (1937b). On the basis of experimental data from this 
research, a graph, presented in Fig. 113, has been constructed. I t  shows the 
dependence of the coefficient a on the temperature of the body surface. It 
should be noted that, unlike heat production, the parameter a changes 
rather markedly, even in a comparatively narrow range of body-surface 
temperature. Such a change corresponds to differences in the activity of the 
sweat secretion system, which is an important regulator of man's thermal 
regime. At a body temperature above 35", the dependence of a on T, becomes 
nonsingular, which is presumably associated with disruption of the stationary 
thermal state of the human body under conditions of overheating. 
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Fig. 113 Dependence of evaporation conditions on the temperature of the body 
surface. 



3 THE HEAT REGIME OF ANIMALS AND MAN 39 1 

A comparison of Figs. 112 and 113 shows that within the range of tem- 
peratures of the body surface from 29 to 35", a change in the rate of evapora- 
tion from the surface proves to be a more substantial factor in human heat 
regulation than the change in heat production. 

It is evident that in solving Eqs. (7.20) and (7.21), one must consider the 
dependence of the coefficient a on the temperature of the surface of the body. 
This can be done by the use of Table 39, comprising data from Fig. 113. 

TABLE 39 

DEPENDENCE OF THE COEFFICIENT a ON THE 

TEMPERATURE OF THE BODY SURFACE Ts 

T. 29" 30" 31" 32" 33" 34" 35" 
a 0.10 0.11 0.11 0.12 0.13 0.18 0-31 

With the use of Eqs. (7.20) and (7.21), one can calculate the mean tem- 
perature of the surface of the human body, which defines its thermal con- 
dition. In some investigations, the results of such calculations have been 
compared to data from direct measurements of body temperature (Efimova 
and Tsitsenko, 1963; Kandror et al., 1966; and elsewhere). 

Experimental investigations carried out in different climatic zones of the 
USSR have shown that at  positive air temperatures, there usually exists 
good agreement between the measured and calculated values of the mean 
temperature of the body surface. At negative air temperatures, the correlation 
between the measured and calculated values decreases, which is presumably 
associated with the difficulty of achieving a stationary state of the human body 
under such conditions. 

The latter conclusion does not interfere with the possibility of using 
calculated temperatures of the human body at  low temperatures as a general 
characteristic of the degree of severity of a climate. 

Equations (7.20) and (7.21) can be used to calculate the thermal state of the 
human body under specific climatic conditions. As an example, we present 
here the results of such calculations for the territory of the European USSR 
for mean conditions of July at  1300 hours [ 1 : 00 p.m.1 (Budyko and Tsitsenko, 
1960). The values of meteorological parameters necessary for the calculation 
were determined in the following way. 

Total short-wave radiation incident on a unit-area horizontal surface at  
different hours of the day was calculated by the model developed by Biriukova 
(1956). To determine the values of direct and scattered radiation, data of 
total solar radiation were used, along with the latitudinal relation of the ratio 
of direct to total radiation given in Fig. 114. This relation was constructed 
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Fig. 114 Latitudinal dependence of the ratio of direct radiation to total solar 
radiation. 

from data of actinometric observations at 1300 hours in the summer months 
(May to August) at  a number of stations in the European USSR. 

The albedo of the surface of the human body, in accordance with available 
evaluations, was assumed equal to 0.30 (Buttner, 1938). The albedo of the 
surface of clothing can vary within wide limits, depending on its color. For 
the given calculation, an albedo value equal to 0.30 was used. Net long-wave 
radiation Z,, and the value T, - T were determined by the methods set 
forth in previous sections of this book. 

To calculate the integral coefficient of diffusion D, we used the formula 

D = m h ,  (7.22) 

(where u is wind speed in meters per second and m is a coefficient approxi- 
mately equal to 0.7 if D is expressed in centimeters per second). This formula 
was obtained as a result of experimental investigations (Buettner, 1952) of the 
heat exchange between a standing man and the surrounding air. (It should be 
noted that later investigations provide slightly greater values of the coeffi- 
cient m, close to 1.0). 

Climatic data show that in the European USSR during daytime in summer, 
the mean wind speed changes comparatively little, and at anemometer height 
it usually equals 4-5 m sec-'. With the use of a logarithmic formula for the 
change of wind speed with height, we can establish that under these con- 
ditions, the mean wind speed at  a height of 1 m is approximately equal to 
2 m sec-l. 

The coefficient D in this calculation can thus be considered approximately 
equal to 1 cm sec-l. It is interesting to note that this value is close to the 
mean values of this coefficient for the earth's surface under similar conditions, 

The coefficient D', characterizing the heat-insulation properties of clothing. 
should obviously change within wide limits depending on the type of clothing. 

Using Eq. (7.21), we can calculate what values of coefficient D' correspond 
to clothing that ensures thermal comfort under common room conditions 
or under mean conditions of a summer day in a continental climate of the 
middle latitudes. Such a calculation shows that the appropriate values of the 
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coefficient D' are of the order of several tenths of one centimeter per second. 
In this calculation, its mean value was considered equal to 0.4 cm sec-l. To 
determine the coefficient a, the table given above was used, and the value of 
heat production M was taken as equal to 1.3 x l ow3  cal cm-2 sec-l. 

The solutions of Eqs. (7.20) and (7.21) were found graphically, since the 
relations a(T,) and qs(Ts) considered in them are given by tabular aids. 

As a result of calculation, maps of the mean temperature of the surface of 
the human body protected and unprotected by clothing at  1300 hours in 
different months of the warm season were drawn. Figures 115 and 116 show 

Fig. 115 Thermal state of the human body. July. 

the pertinent maps for July and May. They present isolines of the mean 
temperature of the body surface for 29 and 34.5". 

It has already been pointed out that it can be assumed that at temperatures 
below 29", conditions of heat deficiency are observed, and at temperatures 
above 34.9, those of heat excess. 

The data relating to a man in light clothing are shown by solid lines, those 
relating to a man without clothing by a broken line. 
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Fig. I16 Thermal state of the human body. May. 

It is apparent from the first map that in July, the zone of a favorable 
thermal regime for a man in light clothes extends over the greater part of the 
European USSR. Only in the extreme north are conditions of heat deficiency 
observed, and in the northern Caucasus and in lower Povol’zh’ie an area 
with excessively warm conditions is marked out. In the absence of the heat- 
insulating effect of clothing, the heat-perception regime changes. North of 
60°, insufficiently warm conditions occur, while no area of excess heat is 
observed in the territory under consideration. 

A slightly different picture is observed in May (Fig. 116). In this case, 
conditions of heat excess are not observed at all. Heat conditions favorable 
for a man in light clothes are outlined in the central and southern regions, 
while for a man unprotected by clothing, favorable conditions are found only 
in the extreme southeast. 

Such calculations can be used for determining the thermal efficiency of 
different kinds of clothing under one or another climatic condition and also 
for evaluating the possibility of using such practices as sunbathing, air- 
bathing, and so on. 
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Calculations by Eqs. (7.20) and (7.21) also permit evaluating the com- 
parative effect of different factors on the thermal state of man under actual 
climatic conditions. 

Thus, in particular, it can be established that on a summer day, the chief 
heat source for man is not his own heat production but the income of short- 
wave radiation. For mean conditions of the European USSR in this situation, 
heat production makes up 25-30x and the income of radiative heat 70-75x 
of the total income of energy. 

The relative value of different forms of heat outgo changes considerably, 
depending on external conditions. At high temperatures, heat conversion for 
evaporation becomes a principal form of heat outgo, which is obviously 
associated with the activity of the sweat-secretion system. In the far south- 
east of the European USSR, the values of heat outgo for evaporation amount 
to 75-80x of the total heat outgo. At lower temperatures, the relative role 
of heat conversion in evaporation decreases sharply, reaching 20-25x and 
even smaller values. In this case, the turbulent flux of sensible heat, amounting 
to 50-60oJ, becomes the principal form of heat outgo. Heat loss in the form 
of net long-wave radiation has a smaller value in all cases, varying within 
limits of 5-20x of the total heat outgo. 

If we evaluate the effect of different meteorological factors on the heat 
state of man with use of Eqs. (7.20) and (7.21), it becomes clear that under 
the climatic conditions of the European USSR in summer considered above, 
changes in air temperature, solar radiation, and wind speed have consider- 
able importance. Fluctuations in humidity affect the heat regime of the 
human body relatively little. 

The above procedure for calculating the characteristics of the thermal state 
of the human body has been used in various bioclimatic investigations, 
among which we should mention the papers of Liopo (1966, 1968, and else- 
where). In these papers, a nomogram was constructed that permitted the 
calculation of the characteristics of the human thermal regime as a function 
of meteorological conditions and physiological factors. Along with this, 
Liopo used computers for calculating the characteristics of the thermal re- 
gime, which enabled her to study the variability of man’s thermal state 
under various weather-climatic conditions. 

In the papers of Liopo, Tsitsenko (1963, and others), Aizenschtat (1965, 
and others), and other authors, data were obtained characterizing both the 
mean conditions of the thermal state of man in different regions of the USSR 
and the temporal variability of these conditions. 

We note that the procedure under consideration can be applied with some 
modifications to study the heat regime of both poikilothermal and homoio- 
thermal animals. In such studies, one should first carry out a calculation of 
the radiation regime of the body of the animal with consideration of its form. 
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It is evident that, as for the human body, this form can be presented in an 
approximation as a simple geometrical model. An albedo value relating to 
the surface of the animal's body, necessary for determining absorbed radia- 
tion, should be found experimentally. 

Conditions of evaporation from the surface of the animal's body must 
then be taken into account. For many animals (for example, reptiles), 
evaporation is insignificant, which permits considering the coefficient a in 
the above formulas as equal to zero. In cases when heat outgo for evapora- 
tion from the animal's body is comparable in size with the other heat-balance 
components, the value of coefficient a should be determined from empirical 
data. 

If the animal under consideration has a coat of hair, then its effect on the 
thermal regime can be evaluated similarly to the consideration of the effect 
of clothing on the human thermal regime. For this purpose, employing 
experimental data, one must evaluate the magnitude of the coefficient D', 
which in such conditions characterizes the heat conductivity of a coat of 
hair. Without any hair, the value l /D '  equals zero. 

The appropriate value of heat production for poikilothermal organisms 
can be often considered close to zero, and for homoiothermal animals should 
be determined from experimental data depending on the level of the animal's 
activity. 

I t  is apparent from the considerations presented here that a calculation of 
the heat balance and an evaluation of the thermal state of the body of an 
animal is, in the main, no more complicated than a similar calculation for 
man. However, it must be noted that such calculations are sometimes 
impeded by the absence of the necessary experimental data. 

It follows from calculated material on the thermal regime of poikilo- 
thermal animals (Budyko, 1959) that the temperature of their bodies can 
exceed air temperature by 10-20 c" and more, if they are heated by the sun's 
rays, especially when evaporation from their bodies is small. At night, the 
temperature of poikilothermal animals can be less than air temperature by 
approximately 5-7 C". 

The body-surface temperature of homoiothermal animals that depend 
substantially on heat regulation is less variable. Nevertheless, the influence 
of meteorological conditions on their thermal regime is very important. An 
approximate idea of the quantitative regularities of this influence can be 
obtained from the above data on the thermal state of the human body. 

Among the studies of the thermal state of homoiothermal animals, the 
monograph by Iaroshevskii (1968) is worthy of mention. In studying the 
heat balance of sheep, Iaroshevskii established that the heat conversion for 
evaporation from the sheep's body increases noticeably with an increase in 
body surface temperature. An important role in the heat exchange of sheep 
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is played by the outgo of latent heat in respiration, which in young animals 
can amount to a half of the total heat loss. 

The state of the sheep’s fleece, namely, its length, thickness and degree 
of soiling, affects thermal regime greatly. By varying body position, sheep 
can noticeably change their thermal state. Thus, at  low air temperatures, 
sheep cluster in tight groups or lie down on the ground, which diminishes 
the heat loss from the animal’s body. 

Iaroshevskii pointed out that the thermal regime exerts a great influence 
on the biological activity of sheep and in many cases restricts their productiv- 
ity considerably. It can be considered that the conclusions resulting from 
Iaroshevskii’s experiments on sheep are in many respects true for other 
mammals, the regularities of whose thermal regimes have not yet been 
investigated. 
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VIII 

Climatic Factors of Photosynthesis 

1. The Physical Mechanism of Photosynthesis 

In nature, organic matter appears as a result of the activity of autotrophic 
plants, which are the only group of organisms capable of synthesizing organic 
matter from mineral. Of the two ways of creating organic matter, based on 
utilization of radiative energy (photosynthesis) and chemical energy (chemo- 
synthesis), only the first is important for the general level of biomass pro- 
duction, because chemosynthesis, which is very significant for the circulation 
of nitrogen and other processes, yields a relatively negligible quantity of 
organic matter. In order to build organic matter, photosynthesizing plants 
use carbon dioxide from the air,* water, and a small amount (compared to 
the general mass of synthesizing matter) of the mineral substances of the soil. 
A certain part of the energy of incoming short-wave solar radiation is con- 
verted for photosynthesis in vegetation cover. 

The basic content of the total photosynthetic reaction can be expressed 
in a simplified way in the equation 

6C02 + 6H20 = C6HI2O6 + 602 

In numerous experimental investigations, it has been established that the 
“coefficient of useful activity” of photosynthesizing vegetation (that is, the 
ratio of the heat converted in synthesizing biomass to the general amount of 
incoming solar energy) is very small and usually does not exceed O. l - l% 

* Besides the carbon dioxide of the air, plants can also obtain a certain quantity of 
carbon dioxide from the soil. However, the first source has the fundamental place. 
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(see Section 3 of this chapter). Under favorable conditions, the coefficient 
increases up to several per cent (Vinberg, 1948; Nichiporovich, 1963, and 
elsewhere). 

At the same time, it should be indicated that according to the extensive 
available experimental material, vegetation also expends water resources 
rather uneconomically. The productivity of transpiration (the ratio of the 
increase in the weight of the dry mass of the plant to the water expended in 
transpiration in a given interval of time) usually has a value from &J to & 
(most often about $5). For this reason, the opinion exists that such copious 
transpiration does not correspond to physiological needs of the plant and is, 
to a considerable extent, a waste of water (Maksimov, 1926, 1944, and else- 
where). 

These two fundamental facts indicate that in natural conditions, vegetztion 
assimilates only a small part of the available energy and water resources. 
It is evident that for investigation of the question of the relation of plant 
productivity to climatic factors, it is very important to clarify the causes 
that so greatly restrict the utilization of natural resources in the synthesis of 
biomass. 

For this purpose, we turn to an analysis of the physical mechanism of 
carbon-dioxide assimilation and transpiration (Budyko, 1949, 1956). 

The assimilation organ of a photosynthesizing plant-a leaf-represents a 
case made of thick cuticular tissue pierced by numerous small openings, 
stomata, which can open and close. The case encloses a very large surface 
of chloroplasts containing grains of chlorophyll. The surface of the chloro- 
plasts communicates with the atmospheric air through intercellular spaces 
and the stomata. 

It is essential for the development of photosynthesis that the surface of 
the chloroplasts should be maintained in a wet state, since carbon dioxide 
can be assimilated only in dissolved form. For this reason, the relative 
humidity of the air in the intercellular spaces is high and usually far exceeds 
the relative humidity in the atmosphere. Diffusion of carbon dioxide into a 
leaf with open stomata is inevitably accompanied by diffusion in the opposite 
direction of water vapor, that is, transpiration. 

If a vegetation cover is sufficiently closed, then for the layer containing the 
plants we can set up a heat-balance equation in the form 

R = L E  -I- P -I- IA, 

where R is the radiation balance, E is the evaporation (transpiration), L is the 
latent heat of vaporization, P is the sensible-heat flux from the earth’s surface 
to the atmosphere, A is the assimilation, and I is the heat converted in 
assimilation of a unit mass of CO,. 

In Eq. @.I), together with other small components of the heat balance, 

(8.1) 
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the heat exchange between the earth's surface and the underlying layers of 
soil is neglected. In this case such neglect is possible, since the heat inflow 
into the soil during the warm season is usually considerably less than the 
basic components of the heat balance. 

Considering that for a sufficiently dense vegetation cover, evaporation is 
essentially determined by the process of transpiration, we will point out the 
following important fact. The three components comprising the right-hand 
part of Eq. (8. l), namely, evaporation, sensible-heat flux, and assimilation, 
depend on diffusion processes having similar mechanisms. 

In plant transpiration, water vapor diffuses from the moist walls of the 
inner leaf surface to its outer surface through the intercellular spaces and 
stomata, the concentration of water vapor varying from qs (the mean con- 
centration in the air at  the internal surface of the leaf) to qo (the mean con- 
centration at the outer leaf surface). 

The evaporation rate will be equal to 

E = PWqs - qo) ,  (8.2) 

where p is the air density, and D' is the integral coefficient of diffusion for 
water vapor on the path from the inner to the outer leaf surface. I t  is evident 
that the value D' depends on the morphology of the leaf (the number and 
size of stomata, the thickness of the leaf, the density of the cuticle, and so on). 

The second stage of water-vapor diffusion is associated with the change in 
water-vapor concentration from qo (on the leaf surface) to q, the concentration 
outside the vegetation layer. For this stage, we can write the equation 

E = P W q o  - 41, (8.3) 

where D" is the integral coefficient of external diffusion, depending mainly 
on the intensity of turbulent exchange. 

Excluding qo from Eqs. (8.2) and (8.3), we obtain 

The diffusion of carbon dioxide from the air outside the vegetation cover 
to the absorbing surfaces inside the leaf can also be divided into two stages. 

On the one hand, the diffusion rate (equal to the rate of assimilation) equals 

A = PDCYCO - C I ) ,  (8.5) 

where D,' is the effective coefficient of diffusion through the intercellular 
channels and stomata for carbon dioxide on the path from the outer leaf 
surface to the surface of the parenchyma, co is the mean concentration of 
carbon dioxide in the air at the outer leaf surface, and c1 is the mean con- 
centration of carbon dioxide in the air at  the surface of the parenchymal cells. 
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On the other hand, the assimilation rate equals 

A = pD,”(c - cg), (8.6) 

where c is the concentration of carbon dioxide outside the vegetation, and 
D,” is a quantity analogous to D“. 

From Eqs. (8.5) and (8.6), it follows that 

P(C - C J  

A = ( l /Dc’ )  + ( l / D / )  

The ratio between the rate of assimilation and the rate of evaporation from 
Eqs. (8.4) and (8.7) equals 

c - c1 _ -  - a -  
A 
E 4 s  - 9’ 

in which it should be noted that the coefficient of proportionality a comprised 
in the formula 

Dc’Dc”(D’ + D“) 
D’D“(D,‘ + 0,”) 

a =  

can change only within very narrow limits. Since the process of diffusion of 
water vapor and of carbon dioxide between the outer leaf surface and the 
free-flowing air is determined by turbulent mixing, then it is evident that 
coefficients D“ and D,“ possess the same values. It is natural to consider that 
the diffusion of water vapor and carbon dioxide between the walls of the 
parenchyma and the outer leaf surface has a molecular character. In this 
case, the ratio Dc’/D‘ must be equal to the ratio of the coefficient of molecular 
diffusion of carbon dioxide in air to the coefficient of molecular diffusion of 
water vapor in air, that is, approximately 0.64. 

Taking this into consideration, we can infer that, depending on the re- 
lationship between the values of D‘ and D”, the coefficient a can vary only 
from 0.64 to 1 ,  approaching unity when external diffusion has the leading 
role (a thin leaf with mostly open stomata), and reducing to 0.64 when 
internal diffusion has the leading role (a thick leaf with poor ventilation). If 
we assume that under average conditions the rate of evaporation from the 
leaf amounts to approximately 50y0 of the rate of evaporation from a smooth 
wet surface, then it is easy to calculate that under this condition the coefficient 
a approximately equals 0.8. 

Considering that the rate of evaporation from a wet surface equals 

at Ef = 2E we obtain a = 0.78. 
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Taking into consideration the fact that the turbulent heat flux from the 

P = pD”c,(T, - T )  (8.10) 

(where c, is the heat capacity of the air, T is the air temperature, and T, is 
the temperature of the leaf surface), we find from Eqs. (8. l), (8.4), (8.7), and 
(8.10) a formula for the assimilation rate, 

vegetation mantle to the atmosphere equals 

(8.1 1) 

where 

It follows from Eq. (8.11) that the assimilation rate depends on the differ- 
ence between the concentrations of carbon dioxide outside the vegetation 
cover and on the internal surface of the leaf (c - c,), increasing with an 
increase of this difference. Since the concentration of carbon dioxide outside 
the vegetation cover is relatively stable, it is evident that the assimilation rate 
will increase with the reduction of cl, that is, with intensification of C0,- 
absorption by protoplasm. 

When “physiological absorption” goes on at  a significant rate and the 
general rate of assimilation is limited, not by physiological processes, but 
by the diffusion flux of carbon dioxide, the value c1 must be much less than c, 
and the formula for assimilation takes the form 

(8.12) 

By use of Eq. (8.12), we can determine what quantity of solar energy can 
be assimilated by a plant at  the most effective utilization of carbon dioxide 
from the air. 

L = 

600 cal g-’, a = 0.78, I = 2500 cal g-l ,  and b = 0.62 ca1g-l deg-l, we find 
that 

Taking into account that c, on the average, is equal to 0.46 x 

1.2R 
IA = 770(qs - 4) + 1.2 + 0.62(Tw - T)‘ 

(8.13) 

When calculating the energy converted in assimilation by Eq. (8.13), it 
should be borne in mind that the general heat outgo for evaporation and the 
turbulent sensible-heat flux in the warm season are determined only by 
daytime totals, since evaporation and sensible-heat exchange at night are 
comparatively insignificant because of the activity of the “valve effect.” 
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Therefore, the values of qs - q and T, - T in Eq. (8.13) must be taken as 
means for daytime conditions. 

It should be considered that under optimal conditions for photosynthesis, 
when cl<< c, the internal leaf area is sufficiently wet, and as a result, the value 
qs should approach the concentration of saturated water vapor at  the tem- 
perature of the leaf (or, more accurately, the difference between q and the 
saturation concentration of water vapor should be considerably less than the 
humidity deficit of the air under summer daytime conditions, calculated 
according to leaf temperature). 

The mean daytime difference between the temperatures of leaves and air 
under summer conditions of middle latitudes is of the order of several degrees 
(see Chapter VII). Considering this difference equal to 5”, and assuming the 
mean daytime relative humidity of the air in summer close to 50% and the 
mean air temperature equal to 20”, we obtain the values qs = 2.0 x 
(at a leaf temperature of 25”) and q = 0.7 x Substituting these values 
into Eq. (8.13), we find that IA = 0.08R, that is, the energy fixed in assimila- 
tion under mean climatic conditions of middle latitudes can reach 8% of the 
radiation balance. 

From pvailable data, we find that for most of the European USSR, the 
radiation balance in summer amounts to 55-6070 of the total incoming short- 
wave radiation during this season. Using this evaluation, we find that under 
average summer conditions of middle latitudes, the natural vegetation can 
assimilate approximately 5y0 of the incoming solar radiation, provided that 
carbon dioxide is most effectively absorbed. This evaluation, obtained by 
theoretical means, agrees well with empirical data on the “coefficient of 
useful activity” of photosynthesis under the most favorable conditions. 

However, the available factual material indicates that such comparatively 
high coefficients of solar energy utilization are observed only in individual 
cases, while the mean ratio of heat conversion in photosynthesis by natural 
vegetation cover to the incoming solar energy is usually of the order of 0.5% 
(see Section 3 of this chapter). 

On this basis, we should infer that under mean conditions, the relationship 
c1 << c is not fulfilled, and, on the average, the difference c - c1 is about 10% 
of the value of c. 

In other words, a comparison of the theoretical model of diffusion with 
factual data permits us to determine that plants, as a rule, use only a small 
part (of the order of 10%) of the possible diffusion income of carbon dioxide. 

It can be noted that the conclusion obtained agrees with the results of a 
number of experiments by Liubimenko and other authors, who, on the basis 
of physiological investigations, have established that leaves do not fully 
utilize the possible diffusion of carbon dioxide. As a result of these observa- 
tions, Liubimenko (1935) concludes that “under natural conditions, pro- 
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duction of dry matter is limited not so much by the small content of CO, in 
the atmosphere as it is by an insufficiently fast rate of work of the enzymatic 
apparatus, which controls the outflow of assimilators and their assimilation”. 

The model of the physical mechanism of assimilation and transpiration 
that has been set forth here permits us to explain why plants expend water 
uneconomically in the process of their development, that is, why the observed 
values of transpiration productivity are so small. 

If we substitute the mean evaluations found for qs and q under daytime 
conditions into Eq. (8.8) and assume c - c1 = O.lc, then the ratio A / E  
turns out approximately equal to A. This means that when assimulating 1 g 
of carbon dioxide, the plant loses through transpiration an average of about 
360 g of water. 

It should be noted that, although the ratio A / E  does not exactly coincide 
with transpiration productivity,* one can consider its magnitude to be of the 
same order as this value. Thus, the estimate obtained provides a theoretical 
explanation of the observed magnitudes of transpiration productivity. 

Worthy of attention also is the explanation by Eq. (8.8) of the substantial 
dependence of transpiration productivity on the humidity deficit. The de- 
pendence has been noticed many times by various investigators, who have 
observed an appreciable decrease in transpiration productivity with a 
reduction of the humidity deficit, both under greenhouse conditions and with 
a transition from dry climates to more moist ones (Maksimov, 1926; and 
others). 

The general conclusion from the above can be put into the following 
words. 

Plants usually exploit a very small fraction of the natural energy and water 
resources. This part is small even in comparison to the small “coefficient of 
useful activity” that could be reached at the greatest possible diffusion of 
carbon dioxide from the air. The calculated results given in this section indi- 
cate that in the case of complete utilization of atmospheric carbon dioxide, 
vegetation can assimilate no less than 5% of the incoming solar energy, 
and that under these conditions, the transpiration productivity must equal, 
not several thousandths (as it usually does), but several hundredths. Since, 
under natural conditions, such high indices of photosynthetic efficiency are 
usually not observed, we must conclude that plant productivity is substanti- 
ally limited by factors whose nature will be discussed below in detail. 

* The productivity of transpiration is connected with the growth in dry organic matter, 
which differs somewhat from the value of assimilation because of the utilization by the plant 
of water and mineral substances of the soil and because of the loss of a fraction of the 
dry matter during plant development for respiration and in atrophy of individual plant 
organs. 
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2. Photosynthesis in the Layer of Vegetation Cover 

The theory of photosynthesis in the layer of vegetation 

In the previous section, we examined photosynthesis in a group of leaves 
existing under uniform external conditions. 

To determine total photosynthesis in the layer of vegetation cover, one 
must take into consideration the difference between the meteorological 
factors of photosynthesis at  different levels in the vegetation. 

This task was first proposed in the investigations of Monsi and Saeki 
(1953) and Davidson and Philip (1958), in which the calculation of total 
photosynthesis in a vegetation layer was carried out with consideration of the 
effect of the change in the quantity of radiation along the vertical, but without 
consideration of the dependence of photosynthesis on the change in the con- 
centration of carbon dioxide. Later, papers of the scientific workers at  the 
Main Geophysical Observatory (Budyko, 1964; Budyko and Gandin, 1964, 
1965, 1966; Budyko et al., 1966a, b) offered a more general theory of photo- 
synthesis in vegetation, including consideration of the effect of both the 
radiative factors and the change in carbon dioxide concentration at  different 
levels in the vegetation. The results of these papers are set forth in this section. 

In investigations of photosynthesis a t  different levels of vegetation, it is 
necessary to take into consideration the physical regularities of meteoro- 
logical processes in the layer of the air that the plants occupy, that is, in the 
vegetation layer [or canopy]. The height of the layer usually varies from 
several centimeters up to several tens of meters (with arboreal vegetation). 

Notwithstanding the great progress being made now in the physics of  the 
boundary layer, the regularities of the meteorological regime in the vegetation 
layer have not yet been sufficiently studied. From general considerations, it is 
possible to clarify qualitative features of the regime of the vegetation layer 
in comparison with the layer lying above it, which is free of vegetation and 
is usually called the surface layer of air. 

When studying the physical processes in the layer of vegetation cover, it is 
convenient to average the values of meteorological elements at different levels 
along the horizontal, which permits the exclusion of the effect of individual 
plants on the meteorological regime. 

In applying such an averaging, it is possible to establish that, in contrast 
with the surface layer of air, the mean vertical fluxes of short-wave and long- 
wave radiation, sensible heat, water vapor, and momentum in the vegetation 
cover change substantially with height. The amount of short-wave radiation 
decreases towards the earth’s surface due to absorption and scattering of 
radiation at the surfaces of the plants. The resultant flux of radiation (radia- 
tion balance) also decreases in this direction because of the screening effect 
of plants. 
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The fluxes of water vapor and momentum change similarly. The water- 
vapor flux in vegetation increases with height because of the effect of plant 
transpiration, and the flux of momentum decreases downward from the 
upper boundary of vegetation as a consequence of the braking effect of 
vegetation on air motion. This effect is associated with weakened turbulent 
exchange in the vegetation layer compared to higher layers of air, the tur- 
bulent exchange coefficient in this situation decreasing with approach to the 
earth’s surface. 

As an example, Fig. 117 shows data of Efimova (1968) for a field covered 
by wheat 1.2 m high. The data represent the dependence of the turbulent 
exchange coefficient k and photosynthetically active radiation Q on height H. 

We nc:e that photosynthetically active radiation is the fraction of the total 
flux of short-wave radiation restricted to wavelengths within whose limits 
radiation can be used in photosynthesis. Its value is approximately half as 
large as the values of short-wave radiation. Since the formulas given in this 
chapter employ only the values of photosynthetically active radiation, we 
keep for it the designation adopted in the previous chapters for short-wave 
radiation. 

In elaborating a theory of photosynthesis in the layer of vegetation cover, 
it is necessary to establish a quantitative relation between photosynthesis in 
a single plant leaf and the external factors affecting it. 

I t  has been established in numerous laboratory investigations [see Rabino- 
witch (1951), and others] that at small values of photosynthetically active 
radiation Q, photosynthesis is proportional to radiation and depends little 
on other external factors, that is, that as Q --f 0, 

A = /3Q. (8.14) 

0- 
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Fig. 117 Coefficient of turbulent exchange k and photosynthetically active radiation 
Q in a layer of vegetation cover. 
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Such a condition corresponds to the so-called rising portion of the light 
curve of photosynthesis. 

With large amounts of radiation, photosynthesis depends little on the 
income of radiation (plateau of the light curve) but substantially on the con- 
centration of carbon dioxide, temperature, and other external factors. 

In experimental investigations, it has been established that under con- 
ditions of “light saturation,” photosynthesis is proportional to the con- 
centration of carbon dioxide for the range of concentrations observed under 
natural conditions. Taking this conclusion into account, we assume that as 

A = TC, (8.15) 
Q-..., 

where the coefficient of proportionality T is a function of temperature and 
other external factors, but does not depend on radiation or concentration of 
carbon dioxide. 

I t  is obvious that the values /3 and T can be determined from light curves 
of photosynthesis obtained experimentally, B being the tangent of the slope 
angle of the initial section of the light curve, and T corresponding to the 
height of the light-curve plateau at a given concentration of carbon dioxide. 

I t  must be borne in mind that the coefficient T characterizes the diffusion 
conditions of carbon dioxide assimilated by a plant in the course of photo- 
synthesis at  light saturation. 

The above conditions are satisfied by a formula (Budyko, 1964) describing 
the light curve of photosynthesis in the form 

BQ 
A = 1 + ( ~ Q / T c )  (8.16) 

and representing a generalization of the hyperbolic formula offered by Tamiya 
in 1951 [see Monsi and Saeki (1953)l. 

The vertical flux of carbo*n dioxide in the vegetation layer at  level z is 
equal to 

dc 
dz 

A ,  = pk--. (8.17) 

The change of this flux in the layer dz, caused by assimilation of carbon 
dioxide by leaves, follows from Eq. (8.16), and equals 

(8.18) 

where s is the surface of leaves in a unit volume [leaf-area density]. 
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The change in photosynthetically active radiation with height in the 
vegetation layer is determined by the equation 

dQ = +(Q> s dz, (8.19) 

where the function +( Q )  describes the dependence of the radiation absorption 
in a layer of thickness dz on the amount of photosynthetically active radia- 
tion incident on the upper boundary of this layer. Taking into consideration 
that on the upper boundary of the vegetation cover at z = H the radiation 
flux is known ( Q  = Q H ) ,  we obtain from Eq. (8.19) 

In solving Eq. (8.20) for Q, we obtain the relationship 

(8.20) 

(8.21) 

describing the dependence of photosynthetically active radiation on height. 
If we assume that 

+(Q) = Y Q ,  (8.22) 

then the dependence acquires the form 

(8.23) 

It was used in this form by Monsi and Saeki (1953). If we set 

+<Q> = y'Qa, (8.24) 

then we obtain the expression 

(8.25) 

Further, for the sake of certainty, we will use the dependence in the form 
of Eq. (8.23). In this case, from Eq. (8.18), we obtain 

(8.26) 

The change of flux Aa caused by plant respiration will be presented in the 

dA, = --?s dz, (8.27) 
form 

where E is a coefficient of proportionality. 
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The general change in the vertical flux of carbon dioxide is determined by 

(8.28) 
the relation 

dA, = dAl + dA2. 

From the above formulas, we obtain a nonlinear differential equation, 

To solve Eq. (8.29), we will use the following boundary conditions: 

( . ; ) I  a=o = -A03 

and 

(8.30) 

(8.31) 

where A, is the flux of carbon dioxide from the soil; c, is the concentration 
of carbon dioxide in the air at  a height z1 where it depends little on the 
properties of the vegetation cover; cH is the concentration of carbon dioxide 
at  level H ;  and DH is the integral coefficient of turbulent diffusion in the air 
layer between levels H and zl. 

The first of these conditions expresses the equality of the income of carbon 
dioxide from the soil with the value of the turbulent flux of carbon dioxide 
in the air near the soil surface. The second condition corresponds to the 
equality of the turbulent flux of carbon dioxide at  the upper boundary of 
the vegetation cover with the turbulent flux coming from the atmosphere 
into the vegetation layer. 

From the condition of balance of carbon dioxide in the spaces between 
leaves for the whole layer of vegetation, we find that 

A = AH + A. + s,” esdz, (8.32) 

where A is the total value of assimilation, and AH is the vertical flux of carbon 
dioxide at the level H .  

From the solution of Eq. (8.29), one can determine the magnitude of AH, 
after which the magnitude of total assimilation will be found by Eq. (8.32). 
In this case, one must take into consideration the dependence’of k,  s, and e 

on height in the vegetation layer, which can be done by the use of available 
empirical data. 

In the general case, Eq. (8.29) can be integrated only numerically. Of 
interest are the particular cases associated with simplifications of Eq. (8.29), 
allowing analytic solution. 
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Such particular cases include the following: 

1 .  A well-ventilated vegetation cover with no flux of carbon dioxide from 

Then from Eq. (8.29), we derive 
the soil. In this case, we may assume k = co, dc/dz = 0, A .  = 0. 

From Eqs. (8.31) and (8.33), we obtain the equation 

After this, we find c, and then the assimilation by Eq. (8.32). If the turbulent 
exchange above the vegetation is sufficiently intensive and does not limit 
photosynthesis, then we can consider DH = ca and c = c,, as a result of 
which we find 

(8.35) 

We note that in this case, total assimilation does not depend on respiration. 
2. A well-illuminated vegetation cover, in which conditions of light 

saturation are observed at  all levels. In this case, Q = QH in the entire layer 
of vegetation, and Eq. (8.29) acquires the form 

i ( k 2 )  - p c =  T S  - 2 s .  
P 

(8.36) 

Equation (8.36) can be accurately solved only with some assumptions con- 
cerning the dependences of ~ ( z ) ,  T(z) ,  s ( ~ ) ,  and k(z).  In particular, if we con- 
sider the first three quantities constant with height and assume that in the 
vegetation layer 

k = ko + k l z  (8.37) 

(in this case, the coefficients ko and k ,  satisfy the relation ko/k ,  << H ) ,  we 
obtain from Eq. (8.36) and the boundary conditions the formula 

where I. and Il are cylindrical [Bessel] functions of the imaginary argument 
of the first kind, and 

q = 2 -  , B - - .  k1.I (YE) - 2DH 
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Utilization of the above-stated theory permits us to investigate the de- 
pendence of photosynthesis in the layer of vegetation cover on the value of the 
leaf-area index S (the ratio of the area of leaf surface to the area occupied 
by the vegetation cover), and on various external factors. 

We should point out that in recent years, along with the aforementioned 
theory of photosynthesis in the vegetation cover, some investigators have 
offered other schemes for numerical modelling of the process under con- 
sideration (Ross, 1964; Ross and Bikhele, 1968-1969; Monteith, 1965; 
DeWit, 1965; Uchijima, 1966; Duncan et al., 1967; and others). All these 
models are based on the general idea of a transition from photosynthesis 
in a single leaf to photosynthesis in a layer uniform in the horizontal and 
with physical conditions changing with height. Differences between these 
models are associated with the different detailing of the numerical models 
used, among which some are of a more general and others of a more specific 
character. 

Regularities of photosynthesis in the layer of vegetation cover 

Turning to the question of utilization of this theory for studying the 
regularities of photosynthesis in a vegetation layer, we note that because of 
the nonlinear character of Eq. (8.29), its solution in the general case cannot 
be obtained in a closed form. It  therefore turned out to be necessary to 
elaborate an algorithm of the numerical solution of the equation, which was 
accomplished with the aid of the electronic computer “Ural-4.” Below we 
present some of the results of computations by Gandin et al. (1969). These 
results relate to the particular case in which the values T, s, and E do not 
depend on height and the vertical profile of the turbulent diffusion coefficient 
in the plant-air space is linear, that is, k = k, + klz, where k, << k,H. 
These restrictions are not matters of principle for either the theory or the 
computation method. 

Figure 118 shows the calculated dependence of assimilation A on the flux 
of photosynthetically active radiation at  the upper boundary of the vegetation 
cover (&), at different values of the leaf-area index S = s dz and the 
ratio ~ / p .  

The dependence is calculated with the following values of other parameters : 
A ,  = E = 0; DH = 0.6 cm sec-l; k, = 3 cm sec-l; y = 1;  fi = 8 x 
g cal-I; klH/ko = 200; p = 1.29 x g ~ m - ~ ;  and c, = 0.46 x 
(which corresponds to 0.03 of one volume per cent). 

I t  is easy to see that the lines in Fig. 118 are light curves. But, in contrast 
to the light curves for a single leaf, which have been thoroughly studied in 
plant physiology (Rabinowitch, 1951), they are light curves obtained by 
theoretical means for the vegetation cover as a whole. These curves show the 



414 

1.0- 

- 
7" 

'E 

0 

v) 
N 

0.5- - 
& 

4 

0- 

VIII CLIMATIC FACTORS OF PHOTOSYNTHESIS 

Q, (cal mi2 mi<') 

Fig. 118 Dependence of assimilation on radiation. 

existence of a strong dependence of total assimilation on the radiation flux 
at small values, when assimilation depends little on other factors. In contrast, 
at large values of radiation, the total assimilation hardly depends on it at all 
and is determined by other factors, in particular temperature, which affects 
the coefficient T. 

The data presented in Fig. 119 permitted us to evaluate how the vital activity 
of plants is affected by a factor that is usually not a concern of agrometeorology, 
namely, the intensity of turbulent exchange in the leaf-air space of a vegeta- 
tion cover. The coefficient kl is a measure of this intensity. The figure shows 
the effect of k, on total assimilation A,  and also on the concentration of 
carbon dioxide at the upper and lower boundaries of the vegetation cover 
(corresponding to cH and c,, respectively). For other parameters of the 
problem, the values QH = 0.35 cal cm-2 min-l, ~ / p  = 0.1 cm sec-l, and 
S = 5 were adopted. 

A 

C" 
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Dependence of assimilation on turbulent exchange. Fig. 119 
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It  is seen from Fig. 119 that with a poorly ventilated vegetation cover (small 
k,), the concentration of carbon dioxide is considerably reduced near the 
soil surface (without soil “respiration”), and depends strongly on k,. Total 
assimilation also depends noticeably on k, , and is less as turbulent exchange 
is weaker. With a well-ventilated vegetation cover (large magnitudes of k,), 
the concentration of carbon dioxide is practically constant with height and, 
like total assimilation, ceases to depend on k ,  . 

Considering that the conditions of ventilation of vegetation depend not 
only on its structure but also on wind speed and the vertical temperature 
stratification over the vegetation cover, we should consider the turbulence 
regime to be one of the factors in plant yield. 

The effect of plant respiration on total assimilation at  the “standard” 
magnitudes of the other parameters given above is presented in Fig. 120. It 

0.0 0.2 0.4 0.6 0.8 

. 10’ (g  cm-2 secl) 

Fig. 120 Influence of plant respiration on assimilation. 

presents two lines, line 1 describing the real dependence of A on the coeffi- 
cient of respiration E ,  and line 2 a dependence that corresponds to complete 
assimilation of all the “ secondary” carbon dioxide being released by respira- 
tion. I t  is clear that the actual increase of assimilation is much less than this 
limiting increase. This means that the effect on photosynthesis of an increase 
in concentration of CO, in the leaf-air space owing to respiration is to a great 
extent leveled out by a decrease in the diffusion flux of C 0 2  from the 
outside. 

Figure 121 demonstrates the effect of the carbon-dioxide flux from the soil 
A ,  on the total assimilation. Line 1 here also characterizes the actual de- 
pendence of A on A,, and line 2 corresponds to the case of complete assimila- 
tion of carbon dioxide coming from the soil. As is seen from a comparison of 
lines 1 and 2, the increase of A with growth of A ,  is considerably less than the 
increase that would have occurred if all the additional carbon dioxide coming 
from the soil were converted in assimilation. This is easy to understand if we 
take into account that the flux of carbon dioxide from below first meets on its 
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path the shaded leaves, which are incapable of intensive photosynthesis 
because of a shortage of radiation. Regarding a general increase in concentra- 
tion due to the flux from below, it is essentially leveled out, as in the case 
of respiration, by reduction of the carbon dioxide income from above. 

As a result, the influence of the carbon dioxide flux from the soil on assimi- 
lation is usually small, when compared to the flux of carbon dioxide coming 
from the atmosphere. This conclusion agrees with one by Monteith et al. 
(1964) from experimental studies on the diffusion of carbon dioxide in 
vegetation cover. 

These results indicate the broad possibilities of applying the theory of 
photosynthesis to clarify some general regularities of this process. 

Let us now turn to an examination of the climatic factors determining the 
productivity of vegetation cover n. We assume productivity to be equal to 
the difference between total assimilation and the loss of organic matter in 
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Fig. 121 Influence of carbon-dioxide flux from the soil on assimilation. 

respiration, and neglect the losses of matter by atrophy of individual plant 
organs that occurs in the course of its development. 

Since productivity of the vegetation cover depends significantly on the 
value of the leaf-area index, decreasing at  small and large magnitudes of the 
index (see below), we then calculate the value of productivity at the optimal 
size of the leaf-area index, corresponding to the greatest values of produc- 
tivity. 

The above equations show that, besides the parameters characterizing the 
properties of the vegetation cover itself, the value of II is affected by a great 
number of meteorological parameters. I t  therefore seems rational to single 
out the most important of these. I t  follows from the analysis carried out that 
under conditions of sufficient moisture, vegetation productivity is most 
affected by two factors-photosynthetically active radiation and temperature. 
The value of the radiation flux QH is directly included in the equation of the 
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problem. As far as temperature T is concerned, it influences the parameters 
T and E included in the calculation model. 

In accordance with this, we should consider the combination of the two 
parameters QH and T as the principal agroclimatic index under conditions of 
sufficient moisture. With such an analysis, one should use the means of the 
other parameters, which have less effect on n. 

Unfortunately, notwithstanding many appropriate investigations, we do 
not have at  present sufficient routine and reliable quantitative data on the 
effect of temperature on the parameters T and E for different species of 
plants. Therefore, we have used the dependences of T(T)  and e(T) in a general- 
ized form that is particularly characteristic of several grain crops. These 
relations, constructed in accordance with data in the literature, are presented 
in Fig. 122, which demonstrates the dependence of ratios A,/AM and &/AM 
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Fig. 122 Influence of temperature on the parameters determining plant productivity. 

on temperature T (AM is the maximum value of assimilation A , ,  not limited 
by the flux of photosynthetically active radiation). 

Applying these relations and utilizing the above-mentioned equations, we 
can calculate the dependence of total productivity II on the flux of photo- 
synthetically active radiation on the upper boundary of the vegetation cover 
and on temperature. This dependence is presented in Fig. 123, where the 
relationship between the ratio n / A M  to the temperature T and photosyntheti- 
cally active radiation QH at the outer boundary of the vegetation cover is 
shown. It  is apparent from this figure that an increase of the flux QH leads 
in all cases to a growth of productivity n. At the same time, with rising tem- 
perature T, the productivity II first increases and then, after having reached 
a certain maximum value depending on QH , decreases. This is a consequence 
both of the similar character of the dependence of 7 on T and of the increase 
in respiration with rising temperature. 
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It is seen from Fig. 123 that the effect of radiation and temperature on the 
productivity of vegetation is complex. Radiation under actually existing 
conditions is always a factor that is in the “minimum.” This is associated 
with the constant shortage of radiation at the lower and partly shaded leaves 
of vegetation. The temperature influence on productivity has a quite different 
character: a rise in temperature above a certain limit lowers productivity 
substantially. 

Figure 123 can be used as a nomogram for determination of the value of II 
from known values of Q H ,  T, and A M .  Thus, sums of II for the vegetation 
period were calculated at a number of points in the European USSR. In this 
calculation, long-term monthly means of QH and T in their diurnal march 
were used, and the value A M  was taken as 0.24 mg CO, cm-2 hr-l. 

Fig. 123 Dependence of plant productivity upon photosynthetically active radiation 
and air temperature. 

The schematic distribution of the total values of TI (in centner ha- l  
[l metric centner = 100 kg]) for the European USSR is presented in Fig. 124. 

I t  should be indicated that in carrying out these calculations, mean values 
of QH and T in  a given month for different hours of the 24 were used. Since 
there is a positive correlation between QH and T (the higher temperature 
values, on the average, correspond to the greater radiation values), the 
calculation of II by averaged QH and T leads to a certain distortion of the 
results. 

The values presented in Fig. 124 can be considered as the values of possible 
yield (that is, the yield obtained with the application of optimal agrotech- 
nology), expressed in the mass of carbon dioxide assimilated per unit of area. 
With the use of the basic photosynthesis equation, one can easily transform 
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them into values of dry mass of vegetable matter. A comparison of these 
values with the data of record yields shows that only at times do the latter 
constitute an appreciable fraction of the yields possible under the given 
climatic conditions. Such a conclusion, confirming the great possibility of 
increasing yield by improving agrotechnical methods, coincides with the 
conclusion given in Section 1 of this chapter. 

Let us dwell now on the question of the reasons why the productivity of 
plants is lower than the values obtained in the above calculation. These 
reasons are associated with the effect of climatic, biological, and soil factors. 

Fig. 124 Possible productivity of the vegetation cover. 

The values of productivity found above relate to the optimal conditions of 
moisture, which are comparatively rarely present over the course of the entire 
period of plant development, even in the most favorable climatic regions. 

The values of possible productivity relate to plants that possess a structure 
optimal for photosynthesis throughout the vegetation period, and activity of 
photosynthesizing organs that also remains stable throughout this period. 
Such conditions are usually not fulfilled for real plants. 
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In addition, the possible productivity of plants corresponds to conditions 
of sufficient mineral nutrition, which is rarely completely assured, even under 
conditions of satisfactory agrotechnics of agricultural fields. 

All these reasons account for a considerably lower productivity of both 
agricultural plants and the natural vegetation cover, compared with the 
possible productivity calculated by the model given above. 

Thus, the potential productivity is a conditional index of productivity, 
which characterizes the climatic resources of different geographical regions 
for creation of organic matter by autotrophic plants. For this reason, it 
seems possible to use data on potential productivity as a composite agro- 
climatic index defining the effect of radiation and temperature regimes on 
agricultural plants. 

From this viewpoint, it is interesting to compare the values of possible 
plant production with a common agroclimatic index of thermal regime-the 
sum of temperatures. The results of such a comparison from calculated 
material for the European USSR are presented in Fig. 125. I t  is seen from 
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Fig. 125 Relationship between possible productivity and the sum of temperatures. 

these data that there is a certain relationship between the productivity and 
the sum of temperatures above 10°C. This fact confirms the possibility of 
using summed temperature as an agroclimatic index characterizing the 
effects of both the radiation regime and the temperature. 

At the same time, the nonlinearity of the relationship in Fig. 125 shows 
that identical changes in the temperature sum in different ranges of its values 
may produce different effects on the maximum production of plant cover. In 
addition, the evaluations available point to the fact that the relation between 
possible production and temperature sums in other regions does not always 
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coincide with the dependence shown in Fig. 125. It therefore seems appro- 
priate to use a composite index that takes into consideration the effect of 
both temperature and radiation, according to the model set forth in this book, 
in order to make agroclimatic calculations more accurate. 

Of interest is a comparison of the possible productivity of vegetation cover 
with the value of the radiation balance at  the earth's surface. The results of 
such a comparison, carried out with material for the European part of 
the USSR, are presented in Fig. 126. For this purpose, the annual values of the 
radiation balance at  the earth's surface under conditions of sufficient moisture 
(R,) were used. 
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Fig. 126 Dependence of possible productivity on the radiation balance. 

The close dependence between the values of possible productivity and 
radiation balance confirms the idea about the significance of the radiation 
balance as a determining factor in the development of vegetation (Budyko, 
1956). Such a dependence is presumably to be explained by the relation of the 
radiation balance to the potential value of plant transpiration, as well as by 
the direct influence of radiation upon photosynthesis in plant cover. 

Photosynthesis and the properties of vegetation cover 

Let us now discuss the question of the possibility of using the above-stated 
theory for an explanation of regularities in the formation of the kinds of 
natural vegetation. 
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It is known that the varieties of vegetation-cover types in different areas 
of the globe are caused, to a considerable extent, by the effect of climatic 
conditions on the development of vegetation. 

Numerous investigations aimed at studying the effect of climate on vegeta- 
tion have been carried out, mainly by empirical methods. This has limited the 
possibility of explaining the causative mechanism in the action of climatic 
factors on the properties of vegetation cover. At the present time, it is 
possible to put the question about the dependence of properties of vegetation 
on climatic conditions on the basis of general physical regularities that 
describe the influence of atmospheric factors in the life activity of plants. 
Such an approach should permit us to estimate theoretically the mean values 
of such characteristics of the plant cover as the amount of biomass and the 
productivity in geographical zones corresponding to different climatic con- 
ditions. 

For this purpose, let us consider the balance of organic mass in plant cover. 
In analyzing the organic matter balance in plant cover, we will use the 

relationship 

M = pS + m, (8.39) 

where M is the mass of organic matter in a plant cover per unit area occupied 
by it, S is the leaf-area index, p is the mass of leaves corresponding to a unit 
area of leaf surface, and m is the mass of organic matter contained in all plant 
organs except leaves per unit of area. 

The productivity of vegetation cover per unit of area is determined by the 
formula 

(8.40) n = A(S)  - B(M),  

where A ( S )  is photosynthesis in the layer of vegetation as a function of the 
value of the leaf-area index S, and B(M) is the loss of organic matter for 
respiration and atrophy of individual plant organs, dependent on the mass 
of organic matter M .  

It is natural to consider that the loss of organic matter in respiration of 
leaves and their atrophy is proportional to the mass of leaves, that is, equal 
to ups, where v is a coefficient of proportionality. 

Then 

n = A(S)  - vpS - B(m). (8.41) 

To establish the function A@) ,  one should use the physical theory of 
photosynthesis in vegetation stated above. 

Taking into account the character of this dependence, we can establish that 
the value t?A/BS is positive and decreases monotonically with the increase of 
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S, approaching zero at high values of the leaf-area index. In this connection, 
if 

there is a value of the leaf-area index So at which vegetation productivity 
reaches. its maximum. This value of So can be derived from the following 
condition 

(8.42) 

It seems probable that as a result of the long evolution of autotrophic 
plants, directed toward increasing the efficiency of their photosynthetic 
activity, values of leaf-area index in a natural vegetation cover sufficiently 
provided with moisture for transpiration are observed that more or less 
correspond to the optimal value So. To test this statement with the aid of the 
above calculation scheme, the value of So for various climatic conditions was 
determined from Eq. (8.42). This value turned out to be rather stable, slightly 
diminished at  higher latitudes, and, on the average, equal to 5 for leaf- 
bearing plants. 

Such an evaluation agrees satisfactorily with the leaf-area index values 
obtained as a result of observations in many natural vegetation covers in 
regions of sufficient moisture [see " OcHosbI necHoi? 6kioreoqe~onor~ki 
(The Foundations of Forest Biogeocenology) ", 19641, which confirms the 
hypothesis stated above. 

The development of perennial plants continues until they reach their 
natural maturity, that is, the state when the income of organic matter in the 
plant cover is compensated by the outgo for respiration and atrophy of both 
individual plant organs and individual plants. In this case, the following 
condition is fulfilled: 

A(S)  - UPS - B(m) = 0. (8.43) 

If we assume that S = So, we find the limiting value of organic mass Mo 
that may be accumulated in a vegetation cover that has reached a stationary 
state, from the equation 

AGO) = B(M0). (8.44) 

This equation can be used for a theoretical evaluation of biomass contained 
in typical vegetation covers of different natural zones in conditions of suffi- 
cient moisture. 

Following the idea of Davidson and Philip (1958), it is possible to write an 
equation that will characterize the change of biomass in vegetation over time. 
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This will permit us to evaluate the rate of accumulation of biomass in the 
course of the approach of plant cover to a state of natural maturity. 

Such an equation has a form that coincides with Eq. (8.41), 

_ -  - A ( S )  - UPS - B(wz), (8.45) dM 
dt 

where dM/dt is the rate of change of the amount of biomass through time. 
Equations (8.44) and (8.45) have been used by us to evaluate the biomass 

stock in plant covers of the zone of sufficient moisture in both the stationary 
state and that changing in time. 

Calculations of this sort are complicated by insufficient detail of the avail- 
able information about the intensity of processes of biomass loss in respira- 
tion and atrophy of individual organs of plants, necessary for determination 
of v and B. 

Nevertheless, utilization of the values of these parameters that are available 
in the literature permits us to calculate by Eq. (8.44) the values of biomass 
stock in forests of different latitudinal zones, which agree satisfactorily with 
the materials of a summary by Lavrenko et al. (1955). It should be indicated 
that such a calculation permits finding out which climatic factors affect the 
changes in biomass stock, upon a transition from one type of vegetation cover 
to another. 

In particular, it follo\ls from the formulas used that the diminution in the 
biomass stock in forests with an increase in geographical latitude depends 
most of all on the reduction in the duration of the growing season, while 
the effect of lower air temperature during the growing season and that of a 
change in radiation turn out to be less important. 

Calculation by Eq. (8.45) permits establishing the general regularities of 
change in biomass during the course of development of a perennial vegeta- 
tion cover. These regularities are characterized by an increase in the rate of 
biomass accumulation during the first years of existence of the plant cover. 
In the course of time, this increase changes into a gradual diminution in the 
rate of accumulation. When the rate of accumulation becomes small, the 
vegetation cover approaches the state of natural maturity. 

Making these calculations has shown that with the aid of Eq. (8.45), it is 
possible to obtain relations of the biomass stock in forests to their age that 
are in good agreement with the data of appropriate observations. 

This kind of calculation might be compared to the investigations of 
Khil’mi (1957, 1966), who worked out a method for quantitative calculation 
of biomass growth in forest, based on dimensional theory and general 
physical ideas. A comparison of the results of calculations performed by Eq. 
(8.45) with similar calculations of Khil’mi shows that they yield relations of 
the biomass stock with time that are similar in form. 
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In conclusion, we should indicate that for a still broader use of the meteoro- 
logical theory of photosynthesis, an accumulation of factual material on the 
parameters determining the growth of biomass in different vegetation covers 
is necessary. Such material could be obtained in interdisciplinary research 
expeditions, carried out according to a broad program and utilizing con- 
temporary measuring techniques. 

3. Utilization of Solar Energy by Living Organisms 

Energetics of the natural vegetation cover 

Although, in the course of photosynthesis, plants use a small portion of the 
energy from incoming solar radiation, this portion is converted into a com- 
paratively stable form of chemical energy, which can be preserved for a long 
time before it is dissipated, that is, converted into heat. The energy assimilated 
by photosynthesizing plants is expended for maintenance of almost all the 
forms of organic life; it is also used in the process of soil formation, and has 
an influence on many other natural processes. 

This energy is of great importance both for agricultural production and 
also for industrial energetics, which largely uses the photosynthetic products 
of past geological epochs. 

It has already been noted that the effectiveness of natural vegetation cover 
with regard to assimilation of the energy of solar radiation varies a great deal, 
depending on the natural conditions. The coefficient of useful utilization of 
solar energy in photosynthesis, decreasing with inadequate heat or moisture, 
reaches its maximum values under optimal conditions of the heat and water 
regimes. The coefficient also depends on the physical and chemical properties 
of the soil. 

For a quantitative study of the utilization of solar energy by natural plant 
cover, it is necessary to have data on the income of solar radiation and the 
productivity of the plant cover. During the investigations on the radiation 
regime at the earth’s surface carried out in the Main Geophysical Observatory, 
maps of photosynthetically active radiation relating to different areas, in- 
cluding world maps (Efimova, 1965, 1969, and elsewhere), were constructed, 
along with maps of total solar radiation. 

To determine the average productivity values of the kinds of natural 
vegetation cover, one could use data from various summaries, including 
data of empirical determination of productivity in individual geographical 
zones. Recently, in papers of Lieth (1964-1965), Bazilevich and Rodin (1967, 
and others), and other authors, the first maps of vegetation productivity on 
the continents have been drawn. In pointing to the great importance of these 
investigations for studying the geographical regularities of the productivity 
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of vegetation cover, we must note that because of the inadequacy of basic 
data, these maps have been schematized to a considerable extent. Thus, for 
example, in the more detailed maps by Bazilevich and Rodin, the data of 
productivity are presented, not by isolines, but in the form of class intervals 
of productivity values for different geobotanical zones. Application of such 
maps to studying the spatial distribution of the coefficient of solar-energy 
assimilation by plants is hampered by the fact that productivity may vary 
not only with transition from one zone to another but also within each zone. 

As a result, a new map of the natural vegetation productivity in the USSR 
(Budyko and Efimova, 1968) has been constructed to evaluate the utilization 
of solar energy by vegetation cover. 

In designing this map, it was taken into consideration that, as indicated in 
the previous section, the productivity of natural vegetation under conditions 
of sufficient moisture depends on the radiation balance at the earth's surface. 
The relationship between radiation balance and the amount of precipitation 
is used as an index of moisture conditions. 

In accordance with this, a graph was constructed in which empirical values 
of the annual productivity of natural plant covers (the annual increase of 
organic matter in the aerial and underground domains of vegetation) are 
compared with values of radiation balance and precipitation. This graph 
is shown in Fig. 127, where along the vertical axis are plotted the values of 
productivity of dry organic matter n, in centner ha-l  for the year, and along 
the horizontal axis, the ratio of the annual values of the radiation balance R 
to the amount of heat Lr necessary to evaporate the annual precipitation (the 
radiative index of dryness). The curves in this graph correspond to different 
values of radiation balance (in kilocalories per square centimeter per year). 
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Fig. 127 Dependence of the productivity of natural vegetation cover II on meteoro- 
logical factors: the radiative index of dryness (R/Lr) and the net surface of radiative energy. 
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Although all the data on vegetation productivity that are available in the 
literature were used to construct this graph, it should be mentioned that such 
data in lower latitudes (that is, for large R) are very few. This restricts the 
graph's accuracy for these conditions. It is believed that for middle latitudes, 
the relations presented in the graph are more reliable. 

The system of isolines in the graph agrees well with the concept of the law 
of geographical zonality set forth in Chapter VI of this book. It is seen from 
the graph that changes in productivity in relation to the index of dryness are 
rather similar at different levels of radiation balance. It can be noted that 
similar relationships between productivity and climatic factors were obtained 
in the studies of Bazilevich and Rodin (1969), and Drozdov (1969). We will 
point out the fact that some features of these relationships require additional 
study. These include the question of the dependence of maximum producti- 
vity values at  given values of radiation balance on the radiative index of 
dryness. 

It is not easy in Fig. 127 to determine the exact location of the maxima of the 
curves. In a paper by Armand (1967), it was suggested that such maxima 
occur under climatic conditions of high and middle latitudes, but that in 
low latitudes productivity increases without limit as the index of dryness 
decreases. Bazilevich et al. (1970) came to the conclusion that such maxima 
exist in all latitudes, the value of the radiative index of dryness corresponding 
to the maxima increasing with increasing latitude. 

For construction of a productivity map by the use of Fig. 127 and material 
on the radiation balance and the precipitation regime, calculations of produc- 
tivity at  200 points in the USSR were carried out. On the basis of these data, 
a map was drawn (Fig. 128). It is apparent from this map that values of annual 
increase in the natural vegetation cover vary from less than 20 centner ha-l 
on the islands and Siberian coast of the Arctic Ocean, up to values exceeding 
200 centners ha-' on the Black Sea coast of the Caucasus. In the zones of 
sufficient moisture, an increase of productivity is observed with a shift from 
north toward south, in accordance with the increase of incoming solar radia- 
tion and in the duration of the growing period. A decline in vegetation produc- 
tivity is observed in regions of insufficient moisture; in the deserts of Central 
Asia, productivity is reduced to 20 centners ha- l  per year. 

Comparison of the mapped values of annual productivity of the natural 
vegetation cover with data from the map by Bazilevich and Rodin shows in 
the main a satisfactory agreement in characteristics of the annual increase of 
biomass in the different geobotanic zones. Some differences between the 
maps in the zones of arid steppes, deserts, and some regions of Eastern 
Siberia can be explained by the insufficient amount of empirical data for these 
areas. 

Using the constructed map of vegetation productivity and the map of 
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Fig. 128 Productivity of natural vegetation cover in the USSR (centner ha-' yr-l), 
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photosynthetically active radiation in the growing period (Efimova, 1965), 
it is possible to calculate what part of the energy of incoming radiation is 
assimilated in the organic matter formed during the year. Such a calculation 
has been carried out considering the approximate calorific value of plant 
organic matter as 4000 cal g- l .  

In Fig. 129 is presented a map of the distribution of the energy contained 
in the annual increase in the organic mass of vegetation, constructed on the 
basis of data from the above-mentioned calculation. This energy is expressed 
as a per cent of the energy of photosynthetically active radiation during the 
growing period. It can be seen from the map that in the annual increase of 
organic matter, up to 2% of the incoming photosynthetically active radiation 
is used. The greatest coefficient of utilization of the energy of solar radiation 
(1.8-2.0%) is observed in the area of the maximum annual increase, namely, 
the Black Sea coast of the Caucasus. The utilization of energy over almost the 
whole area of the European USSR is relatively great (1.0-1.2”J,), with the 
exception of the arid regions situated in the south and southeast. In the Asian 
territory of the USSR, about 1% of the energy is used in the central part of 
western Siberia and in the south of the Khabarovsk district and in Primor’e; 
in the rest of the area, the annual increase in biomass ranges from 0.4 to 0.8% 
of the incoming photosynthetically active radiation. In the deserts and semi- 
deserts of Central Asia, assimilation of energy in the annual increase of 
biomass reduces to 0.1-0.2%.* 

The diminution of the coefficient of solar energy utilization by plants in the 
eastern regions of our country, as compared to the western, can be explained 
by the less favorable moisture conditions in many eastern regions and also 
by a certain reduction in the duration of the growing period that takes place 
there. 

The mean (for the entire area of the USSR) coefficient of assimilation of 
photosynthetically active solar radiation by the natural vegetation cover 
equals approximately 0.8%. The value of the analogous coefficient for the 
total solar radiation will be less by a factor of about 2, that is, equal to 0.4%. 

It might be thought that these values are too small to let the process of 
photosynthesis directly affect the principal components of the heat balance 
at  the earth’s surface. In this respect, it is usually considered that photo- 
synthesis is not a substantial factor affecting conditions of climate and 
weather. 

In  recent years, however, it has been established that in the contemporary 
epoch, climatic conditions are characterized by considerable instability. 
Consequently, changes in the components of the earth’s energy balance 

* We should note that these coefficients of solar energy utilization do not coincide 
with those given at the beginning of the chapter, in which total solar radiation is taken 
into consideration instead of photosynthetically active radiation. 



430 



3 UTILIZATION OF SOLAR ENERGY 43 1 

amounting to several tenths of one per cent of the incoming solar radiation 
may have an appreciable effect on the location of ice cover and on the climate 
of middle and high latitudes (see Chapters 4 and 5 of this book). 

From this point of view, the question about the possible influence of the 
energy of photosynthesis on meteorological processes requires some attention. 
We note that such an influence is restricted by the comparatively rapid return 
into the atmosphere of the energy assimilated in the course of photosynthesis, 
as a result of the general biological circulation converting this energy into 
heat. 

Climatic conditions are therefore affected by the difference between the 
energy used in photosynthesis and the amount of heat obtained as a result of 
the decay of organic matter. This difference can make up only a small 
portion of the energy expenditure in photosynthesis, and its climate-forming 
importance for the contemporary epoch is probably insignificant. Less clear 
is the analogous problem concerning periods when a rapid accumulation of 
organic matter in the earth’s crust occurred (for example, during the coal- 
forming periods). However, even in these conditions, a substantial effect of 
photosynthesis on the meteorological regime seems unlikely. 

There are some cases, however, when such an effect shows in a rather 
noticeable form-these are the cases of fires that spread over extensive areas 
of vegetation. Under such conditions, photosynthetic energy accumulated 
during a long time is converted into heat so rapidly that the value of the 
additional heat input for a unit area turns out to be many orders greater than 
the value of energy in solar radiation. As a result, in the area where large 
forest fires occur, the meteorological regime is suddenly changed, such 
changes embracing a considerable thickness of the atmospheric air. 

Apart from such particular cases, we should point out that vegetation 
cover produces the greatest effect on climate, not as a result of the solar 
energy conversion in photosynthesis, but because of the effect of transpira- 
tion on the balances of heat and moisture and as a result of change in the 
aerodynamic roughness of the earth’s surface (see Chapter X of this book). 

Thus, data on the coefficients of solar energy utilization by vegetation have 
significance, for the most part, as a characteristic of climatic conditions of the 
development of vegetation and as an index of the efficiency of different types 
of vegetation cover. 

Transformation of energy in the biological cycle 

At present, there exists only an approximate knowledge of the trans- 
formation of energy in the planetary biological cycle. We present some of 
these data below, taking into account the fact that their accuracy is relatively 
low. The general productivity of autotrophic plants on land and ocean, 
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according to contemporary data, amounts to about 83 x lo9 tons yr-l 
(Duvigneaud and Tanghe, 1967; Bogorov, 1969; Bazilevich et a/., 1970, 
and elsewhere). Almost two thirds of this value, which amounts to about 
53 x lo9 tons yr-l, is obtained from the vegetation cover on land. Only 
about 30 x lo9 tons yr-l of organic matter is created by the autotrophic 
plants of the oceans.* 

Taking these values into consideration, we find that the mean productivity 
for a unit area of the land surface is approximately 3.6 tons ha- l  yr-l, for the 
unit area of the ocean surface, 0.8 ton ha-l  yr-l, and for the globe as a whole, 
1.6 tons ha-l  yr-l. Earlier we provided some data which indicated that de- 
pending on the climatic and other natural factors, productivity values in 
various regions of the land vary within wide limits, for example, from several 
tens of tons on a hectare per year in wet tropical forests to zero in the polar 
deserts. 

The mean productivity for the globe corresponds to an energy expenditure 
approximately equal to 0.07 kcal cm-2 yr-l, that is, about 0.05% of the 
amount of solar radiation incident on the earth’s surface and about 0.1 of 
the value of photosynthetically active radiation. 

The organic matter created by autotrophic plants is assimilated by 
herbivorous organisms, in which are included many of the animals. As a result, 
a new form of organic matter is created, which is used then by carnivorous 
organisms. The biological mass of these organisms also enters the general 
cycle of organic matter and becomes an item of the nutrition of various 
living organisms. 

The processes of nutrition that interrelate living organisms are processes 
of energy transmission from some organisms to others. These processes 
balance the constant energy loss that occurs in the course of vital activity of 
plants and animals and provides for all the biological functions of living 
organisms. 

Observations have shown that the efficiency of the reproduction of organic 
matter in its transmission from one organism to another is relatively small. 
Such a feature is quite clear, because an increase in biomass is only one of 
many functions of living organisms that require the expenditure of energy 
for their maintenance. Thus, for example, a considerable quantity of energy 
is spent in respiration. Many organisms expend energy in the processes of 
reproduction, movement in space, and so forth. 

Above have been presented data showing that the natural vegetation cover 
uses a small portion of the incoming solar energy for creation of organic 
matter in the course of photosynthesis. A portion of this organic matter is 

* These values relate to the dry mass of organic matter. Data on oceanic productivity 
are often expressed in the units of wet mass, which is not always mentioned in the 
available literature. 
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disbursed by the autotrophic plants themselves for respiration and the 
atrophy of some parts of a plant in the course of its development. As a result, 
the net productivity of plants often does not exceed half of the quantity of 
matter created by photosynthesis. 

Herbivorous organisms, consuming the production of autotrophic plants, 
use for the creation of their own biomass no more than lOyo of this production. 
A similar order of magnitude characterizes the coefficient of utilization of 
the biomass of herbivorous animals by carnivores [refer to Duvigneaud and 
Tanghe (1967), and elsewhere]. Thus, the flux of energy going as far as the 
third trophic level of the biological chain of nutrition decreases by more 
than a factor of a hundred in comparison with the quantity of energy assimi- 
lated by autotrophic plants. 

The actual structure of energetic interrelations between different groups of 
living organisms is usually much more complicated than such a simple scheme. 
Trophic relations between individual species of plants and animals often have 
the form of a web that unites different kinds of living organisms into a single 
energy system. 

However, in all cases, the aforementioned regularity is carried out; that is, 
in transmission of energy from one organism to another, the greater portion 
of it is lost. In this connection, the energetic relations that unite different 
groups of plants and animals can be visualized as a stepped pyramid, which 
rapidly becomes narrower with a transition 'from one layer to another. The 
energy flux passing through living organisms in the course of their trophic 
interaction brings to the organisms closing the chain of nutrition only neglig- 
ible quantities of energy, when compared to the energy assimilated by 
autotrophic plants. 

The amount of energy transmitted by some living organisms to others 
corresponds to their productivity, that is, the mass of organic matter created 
by them. The productivity of different groups of living organisms is associated 
with their biological mass by complicated relationships. Some of these were 
considered for autotropliic plants in the preceding section. 

Although the available material is insufficient for any kind of accurate 
evaluation of total biomass of different animals and plants, some examples of 
such evaluations deserve attention. 

Thus, for example, Kovda (1969) considers the general biomass of the lands 
approximately equal to 3 x 1OI2 tons, more than 95% of which relates to 
phytomass and less than 5% to zoomass. The phytomass attains its greatest 
unit-area value in forest regions, decreasing to zero in deserts. 

The biomass of animals per unit of area also varies within wide limits. 
The most significant component of this biomass is usually the mass of inverte- 
brates, among which the organisms living in the soil are ofgreatest importance. 

The biomass of large animals per unit of area is relatively small. Thus, it 



434 VIII CLIMATIC FACTORS OF PHOTOSYNTHESIS 

follows from Huxley's summary (1962) that in the African savanna, the 
biomass of large wild animals can reach 15-25 tons km-2, in the forests of 
middle latitudes, 1 ton km-2, in the tundra, 0.8 ton km-2, and in semidesert, 
0.35 ton km-2. 

We can evaluate the biological mass of mankind and calculate the con- 
sumption of energy in its nutrition much more accurately than can be done 
for any other groups of animals and plants. 

With the contemporary population of the globe exceeding three billion, 
the biomass of mankind is about 0.2 x lo9 tons. On the assumption that 
each person expends daily on the average about 2.5 x lo3 kcal of energy, we 
find that the total consumption of energy by people comes to approximately 
3 x 1015 kcal yr-l. 

This value corresponds approximately to the contemporary productivity 
of agricultural production, which, however, does not provide the population 
with the necessary quantity of food products in all regions of the globe. 

In many trophic chains, man occupies one of the last places, since he con- 
sumes both the primary production of autotrophic plants and the biomass 
created by many herbivores and carnivores. In this connection, his position 
on the energy pyramid of nutrition mentioned above corresponds to its upper 
layers, which are much more narrow than the base of the pyramid, which 
characterizes the productivity of autotrophic plants. I t  is easy to see from the 
above data that in the contemporary epoch, man consumes about 0.7% of 
the primary production of the organic world. Several thousand years ago, 
the figure was considerably less than O.l%, and in the near future it is ex- 
pected to increase greatly. 

In correspondence with the development of agriculture necessary for 
provision of the growing population with food products, the dimensions and 
form of the pyramid characterizing the energy exchange in the biological 
cycle on our planet are constantly changing. 

Besides consuming an ever greater portion of the primary biological 
production, man expends a great and still growing amount of additional 
energy, which represents a new source of heat for our planet. It will be seen 
from the material contained in Chapter X that this creates a near-future 
perspective of a considerable changek  climate, which, for the first time in 
the history of the earth, begins to depend substantially on the activity of 
biological organisms. 
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IX 
Change of Successive Faunas 

1. Critical Epochs of Geological History 

It  has been established in numerous paleontological investigations that the 
contemporary animal world has appeared as a result of a long evolution. 
During the course of this evolution, along with relatively slow changes in the 
animal world, abrupt changes in faunas repeatedly took place, for example, 
at the end of the Silurian period (when many groups of invertebrates became 
extinct), at the end of the Paleozoic era (when several groups of invertebrates, 
fish, and amphibians vanished), and a t  the end of the Mesozoic era (the 
extinction of some groups of invertebrates and many reptiles). 

The disappearance of these animals was accompanied by a rapid develop- 
ment of new faunas, whose representatives filled the vacant ecological niches. 

From the data of the geological chronicle, it is difficult to establish the 
duration of the epochs during which abrupt changes in the animal world 
occurred. I t  is known, however, that they were comparatively short, and that 
is why they are usually referred to as critical epochs of geological history. 

The question concerning the causes of the extinction of large groups of 
animals during the critical epochs, which has great importance for clarifi- 
cation of the general regularities of change in successive faunas, has been 
discussed in numerous investigations. 

In the works of Cuvier, who was one of the founders of paleontology, 
done at the beginning of the 19th century, the change of successive faunas 
during the history of the earth was explained by repeated catastrophes that 
annihilated the animals of remote eras. In his book “Discours sur les 
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rivolutions de la surface du globe” (1812), Cuvier wrote: “Life on our planet 
was more than once shaken by frightful events. Innumerable living creatures 
fell victims of catastrophes.” 

As is well known, Cuvier’s opinions were later rejected under the influence 
of the work of Lyell and Darwin. Proceeding from the principle of uniformi- 
tarianism that explains the changes in the structure of the earth’s crust by 
the activity of factors now existing, Lyell and his followers came to consider 
the theory of cataclysms useless for geological research. The theory of 
biological evolution by Darwin, created not without influence of the uniformi- 
tarian viewpoints of Lyell, explained the change of different faunas in the 
geological past rather by the effect of the natural selection under stable or 
slowly varying conditions than by the effect of catastrophes. 

In subsequent works by Kovalevskii and other investigators, numerous 
paleontological data were collected, and they confirmed the leading role, 
studied by Darwin, of the mechanism of biological evolution in the formation 
of the animal world during remote epochs. 

Accepting that the analysis of Darwin’s concept explains the general 
regularities of biological evolution, the question should still be raised con- 
cerning the possible effect on the change of successive faunas, along with the 
slow action of natural selection, of rapid changes caused by action on the 
animal world of catastrophic shifts in climatic conditions. 

The statement of this question arises from the necessity of taking into 
account the enormous time scales of the periods of development of nature 
in the geological past, which cannot be compared with the scale of those 
accessible to the immediate observation of man. 

It must be borne in mind that possible deviations of the indices of intensity 
of many natural processes from the norm increase with an increase in the 
time period under consideration. Thus, for example, disastrous earthquakes 
are hardly probable in short intervals of time but quite probable over a 
sufficiently long period. 

From a general point of view, therefore, it seems natural to suppose that 
during the long geological history of the earth, some manifestations of such 
major anomalies in the characteristics of the natural processes would appear 
that have not been observed during the comparatively short time of the 
existence of mankind and especially during the very short period in which man 
has been studying Nature around him. During recent years, such a viewpoint 
has been time and again expressed in the papers of geologists (Nalivkin, 
1969, and elsewhere). 

Let us discuss the possibility of using this idea for studying the problem of 
the change of successive faunas. 

It is known from the data of paleontological investigations that the process 
of extinction of large taxonomic groups of animals (orders, suborders, and 
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families) that have disappeared is characterized by the fact that groups of 
animals, that were different in biological relations and occupied quite 
different ecological niches, often became extinct together during periods of 
time that are short from the point of view of geological history. I t  follows 
from statistical considerations that such a phenomenon cannot be the result 
of a struggle for existence under unvarying external conditions. 

As an example, let us consider the known case of simultaneous extinctions 
of large groups of animals that took place at  the end of the Cretaceous 
period. In that time, of the existing ten orders of reptiles, five orders dis- 
appeared, including the land dinosaurs (two orders), the flying pterosaurs, 
and also the water-dwelling ichthyosauri and plesiosauri. The five orders 
included 35 families, containing very many species (Colbert, 1965). 

Let us assume that the mean duration of the time of existence of a reptile 
order that became extinct in the Cretaceous period was approximately 100 
million years, and let us consider that the time of disappearance of the order 
can be determined with accuracy to five million years. 

The probability of a chance coincidence during five million years of the ex- 
tinction of five orders out of ten, calculated by the Poisson formula, turns out 
approximately equal to &. Such an extremely small value indicates that 
the coincidence of the extinctions of these groups of reptiles was caused by 
certain changes in the natural environment, rather than happening by chance. 

A similar calculation could be carried out to evaluate the probability of 
the extinction in a brief time of several families comprised in the same order, 
and only weakly connected with each other in terms of mode of life. The 
probability of such an event under stable conditions of the environment 
turns out to be extremely low. 

In examining paleontological data, it is not difficult to ascertain that in 
most cases, large taxonomic subdivisions of the animal world disappeared, 
not one by one, but in relatively numerous groups. Thus, for example, most 
of the orders and suborders of reptiles and amphibians that have become 
extinct disappeared during three critical epochs of geological history, namely, 
at  the ends of the Permian, the Triassic, and the Cretaceous periods. I t  
follows from the above calculation that such coincidences would have been 
hardly probable under constant or slowly changing external conditions, 
even if the duration of these critical epochs extended over several million 
years. 

The conclusion about the impossibility of explaining the disappearance of 
many large groups of animals by the struggle for existence under stable 
external conditions follows not only from the above calculation but also from 
some qualitative considerations. 

I t  has been repeatedly pointed out in the paleontological literature that the 
mammals came to occupy the ecological niches belonging to reptiles of the 
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Mesozoic era, not in the course of competition with them, but only after 
their extinction, when the niches became vacant. 

Among particular examples of this sort, we will mention the interesting 
case of the phytosaur extinction that occurred at  the end of the Triassic. 
These reptiles suddenly disappeared, vacating an ecological niche that after- 
wards was occupied by crocodiles, which appeared later and originated from 
the same initial forms as the phytosaurs, and were very similar to them. 
Explanation of such examples without consideration of temporal changes in 
natural conditions presents difficulties. 

Thus, in order to understand the reasons for great changes of fauna in the 
geological past, it is necessary to consider not only the effect of purely bio- 
logical causes but also the action of additional factors associated with sudden 
changes in environmental conditions. 

This viewpoint has been expressed in papers on historical geology (Strak- 
hov, 1937) and hydrobiology (Lindberg, 1948), and in a number of other 
studies. 

In studies dedicated to the problem of the extinction of various animal 
groups, a great number of hypotheses about changes in the natural conditions 
that furthered the extinction process has been offered. We will not discuss 
here the considerations in favor of one or the other hypothesis, since the 
qualitative character of these considerations does not permit making any 
final conclusions about their validity. 

Here we will consider one of the possible mechanisms of the effect of 
environment on biological evolution, the significance of which can be evaluated 
by the use of the results of quantitative calculations. 

Among the external factors affecting biological organisms, the influence of 
climate has the most general character. This influence extends to all spheres 
inhabited by living creatures and exerts a profound influence on them. 

It  is well known that the climatic variations that took place in the past 
led to significant changes in the location of animals and plants on our planet. 
Less clear is the question, to what degree these changes affected biological 
evolution, although the existence of this relationship is considered to be 
more or less universally recognized. 

Leaving to one side the task of investigating the effect that comparatively 
slow changes in climate, caused by such factors, for example, as change of 
relief and displacement of coastlines of the continents, had on the evolution 
of animals and plants, let us turn to the poorly investigated problem of the 
significance for biological evolution of short-term but sharp fluctuations of 
climate. 

The possibility of investigating such fluctuations becomes apparent as a 
result of studies in which the variability of solar radiation incident on the 
earth’s surface has been established. This variability is a consequence of 
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the instability of atmospheric transparency, depending essentially on the 
amount of dust entering the atmosphere after volcanic eruptions (Budyko, 
1969). 

In Chapter V of this book, reference was made to the variability in the 
number of volcanic eruptions in time and to the temperature fluctuations 
caused by volcanic activity and associated with this variability. 

Although the effect of single eruptions on the temperature of the earth is 
comparatively small, because of the limited amount of dust penetrating the 
atmosphere after each eruption, it is evident that the earth’s temperature will 
be changed much more powerfully when many explosive eruptions coincide 
within a short interval of time. The possibility of such coincidences for long 
periods of time, which is a consequence of general statistical laws, grows 
appreciably with fluctuations of volcanic activity. Analogously, the greatest 
amount of dust thrown out into the atmosphere during one volcanic eruption 
will increase with the lengthening of the period under consideration for the 
same reason as does the greatest frequency of eruptions. 

Calculation of the greatest amount of dust that can be ejected into the 
atmosphere during volcanic eruptions in a short period of time involves a 
number of difficulties. 

A preliminary evaluation of this amount can be carried out with material 
from the summary by Lamb (1969), who compiled a table of explosive 
eruptions that took place in the 18th to 20th centuries. Lamb included in this 
table an evaluation of the quantity of dust that entered the atmosphere after 
each eruption, and presented it in the form of a scale on which all the values 
were compared with the amount of dust injected during the eruption of 
Krakatoa in 1884. This value was assumed equal to 1000 arbitrary units. 

Analysis of the data from Lamb’s summary shows that the amount of dust 
injected into the atmosphere in each decade varies within wide limits. The 
maximum magnitude of this value grows with an increase in the general 
duration of a period of time, that is, with an increase in the number of decades 
under consideration. 

This dependence can be expressed in the form of a simple empirical formula 

N = u log(T/t), 

where N is the greatest amount of dust injected into the atmosphere in the 
interval of time t during a period of duration T; a is a coefficient equal to 
3000. 

This formula can be used for the values of T that are much greater than t. 
It  follows from Eq. (9.1) that the greatest amount of dust injected into the 

atmosphere during a decade (t  = 10) for T = 300 equals 4400, which agrees 
well with the greatest value in Lamb’s summary. 
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If we use this formula as an extrapolation to greater intervals of time, we 
find that for T = lo4, N = 9000, and for T = lo7, N = 18,000 [units]. 

Thus, for long periods of time, a coincidence of volcanic eruptions is 
possible during a decade producing ejected dust equivalent in amount to nine 
or even eighteen eruptions of Krakatoa. 

One should not exaggerate the reliability of this estimate, derived by a 
method of extrapolation. Still, we might suggest that the above values are 
characterized by underestimation rather than overestimation of the greatest 
decadal quantity of dust from volcanic eruptions penetrating the atmosphere. 

The logarithmic dependence assumed in Eq. (9.1) follows from statistical 
laws characterizing the coincidence of events that are not interconnected. 

It is, however, well known that the eruptions of individual volcanoes cannot 
be considered as random events independent of each other, because the level 
of volcanic activity changes substantially during various geological epochs. 
Thus, for example, from the work of Ronov (1959), it follows that during 
various geological periods, volcanic activity differed by a factor of several 
times. It is evident that in the presence of general changes in volcanic activity, 
an assessment of the frequency of coincidence of eruptions that is based on the 
idea of their independence must be underestimated. 

In this respect, it should be indicated that, although Lamb considers the 
data on volcanism in recent centuries characteristic of a period with a 
relatively high level of volcanic activity, long periods of time with far greater 
volcanic activity occurred in the geological past. Consequently, for these 
intervals, the evaluations of dust amount obtained from Lamb's summary 
cannot be overestimated. 

Let us examine the question of how the earth's temperature changed with 
the coincidence of many volcanic eruptions. 

If, during a decade, ten eruptions comparable to that of Krakatoa took 
place, then the mean diminution of direct radiation in that time, according 
to the data from Chapter V, would be at least 10-20%, since the rate of dust 
input into the stratosphere during this period would be no less than its rate 
of fallout. In this situation, global radiation would decrease by 2-3%, and 
the mean temperature of the earth's surface would drop by 3-5 C". 

With the coincidence of twenty volcanic eruptions during a decade, the 
radiation regime would change more strongly. Estimates by the formulas of 
atmospheric optics show that in this case, total radiation would decrease by 
no less than 57,. Such a decline of radiation would lead to a drop in the 
mean temperature of the earth's surface by 5-10 C", this cooling extending 
both to the atmosphere and the upper layer of ocean water. 

Notwithstanding the approximate character of the data presented here, it 
can be inferred from them that volcanic eruptions from time to time have 
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caused short-term but appreciable drops in temperature, which spread over 
the whole planet. 

I t  is important to note that the probability of abrupt short-term drops in 
temperature increased greatly in epochs of active mountain-formation, when 
volcanism became stronger. Under such conditions, the lowering of tempera- 
ture may presumably have been greater than the evaluations given above. 

Without doubt, such short-term drops in temperature would have an 
enormous effect on various forms of organic life. 

As was pointed out in Chapter VII of this book, a definite thermal zone of 
existence is characteristic of all living organisms without any exceptions, this 
zone being in many cases quite narrow. A sudden drop in temperature lasting 
several years or decades would lead to the extinction of many animal and 
plant species, first of all those that lived under climatic conditions close to the 
lower boundary of their thermal zone of existence. If the temperature drop 
over the whole planet permitted preservation of one or another species, even 
if only in the warmest regions, then, after cessation of a temperature drop, 
appropriate plants and animals could colonize their former areas. If the 
cooling trend was sufficiently great in the warmest areas also, then the species 
or groups of species under consideration would disappear completely. 

In turning to specific ways in which sharp drops in temperature affect the 
vital activity of different organisms, we must point out that this action would 
have been highly diverse. 

For each organism the significance of a lowering in temperature can be 
established: (a) leading immediately to its death; (b) reducing its activity to 
the limits where it perishes in the course of the struggle for existence; (c) re- 
ducing the organism’s resistance against infectious diseases, as a result of 
which it falls their inevitable victim; (d) disturbing the process of re- 
production. 

The values of the decreases in temperatures corresponding to these con- 
ditions may be different, but even the smallest of them would have proved 
sufficient for extinction of an animal species under consideration. 

Among the cases of the simultaneous disappearance of large groups of 
animals that took place in the past, special interest attaches to the outstanding 
scale of the extinction of reptiles and amphibians at  the end of the Triassic, 
and the still more enormous extinction of reptiles at  the end of the Cretaceous 
period. 

Turning to consider the peculiarities of these two moments in geological 
history, we must first of all emphasize that both of them took place in 
epochs of intensive mountain formation, when, because of an awakening 
of volcanic activity the probability of simultaneous eruption of a large 
number of volcanoes was the greatest. 
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It should be borne in mind that a significant general intensification of 
volcanism not only increased the probability of initiating an especially large 
temperature drop but also heightened the probability of the appearance of a 
series of such drops, which could be clustered during hundreds of thousands 
or millions of years. 

It is well known that an important characteristic of reptiles and amphibians 
is their absence of heat regulation, which makes them especially sensitive to 
the temperature regime. 

The climate of the Mesozoic era was characterized by a weakly marked 
thermal zonality, a higher temperature in low latitudes as compared with the 
contemporary epoch, and a much higher temperature in extratropical areas, 
which created favorable conditions for the existence of animals without heat 
regulation (poikilothermal) over the entire earth. 

Another situation took place at  the end of the Paleozoic era, when thermal 
zonality was intensified from time to time, which presumably caused diffi- 
culties for poikilothermal animals. An interesting indication of this appeared 
in unique adaptations characteristic of some reptiles of the Permian period 
(dimetrodon, edaphosaur). These reptiles had an enormous crest on their 
backs, which, according to the views of some paleontologists (Romer, 1945), 
they used for heating their bodies at low temperatures. Setting the crest 
perpendicular to the sun’s rays, these reptiles could absorb an additional 
amount of heat sufficient for supporting further physical activity. We note 
that a quantitative calculation of heat balance of the reptiles’ bodies by the 
method set forth in Chapter VII shows that such an adaptation enabled them 
to raise their mean body temperature by several degrees, a value that was quite 
substantial under conditions of an inadequately warm climate. 

The absence of this device in the Mesozoic reptiles is one of the indications 
of the existence of a comparatively warm climate in all latitudes in that era. 
Sudden large drops in temperature should have sharply affected the poikilo- 
thermal animals of that time. 

The reptiles existing now represent a remnant of the rich and varied fauna 
of the Mesozoic era that survived after the extinction of the overwhelming 
majority of the large and many small forms of this fauna. We have every 
reason to consider that contemporary reptiles are capable of greater endur- 
ance in relation to low temperatures than those animals that became extinct; 
therefore, their ecology can give an idea of the upper limit of the endurance 
of reptiles in relation to cold. 

Zoogeographic research has shown that the existing reptiles are, in the 
main, tropical and subtropical forms, since the great majority of their species 
is concentrated in the low latitudes. The comparatively few reptiles living 
outside this zone are active only during the warm season, and in various ways 
protect themselves against chilling in the cold periods. Diurnal rhythms are 
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characteristic of the activity of many reptiles, their activity usually ceasing 
during the coldest hours of the twenty four. 

The papers of Bogert (1959) and his collaborators, who have studied the 
ecology of reptiles, established the enormous effect on their activity of the 
necessity to maintain a definite body temperature. When reptiles experience 
a shortage of heat, they tend to warm themselves in the sun's rays or near the 
heated surface of the earth. In cases of cooling, some lizards change their 
color in order to increase the absorption of solar radiation. 

Using the data of laboratory and field observations, it is possible to con- 
clude with confidence that the lowering of the mean temperature in the habitat 
of many reptiles by a value of approximately 10" must lead to their death. 

For this reason, the ecology of an animal belonging to the oldest of the 
surviving reptiles, namely, the rhynchocephalians, is interesting. The dnly 
species in this order is the tuatara (Sphenodon or Hatteria), now inhabiting 
several small islands of New Zealand. The existence of this animal under the 
cool climatic conditions of New Zealand is sometimes considered as an 
evidence of the relative endurance of ancient reptiles to low temperatures 
(Bellairs and Carrington, 1966). 

However, this conclusion is based on a wrong notion of the New Zealand 
climate. The main feature of this pronounced marine climate is the absence 
of significantly cold weather in the course of the year, which ought to be 
considered rather a favorable factor for poikilothermal animals. 

In investigations, it was established that maturing of an embryo in the 
tuatara egg occurs very slowly and lasts for about fifteen months, the develop- 
ment of the embryo ceasing in the colder time of the year. Such a long develop- 
ment considerably increases the risk of destruction of the few tuatara eggs 
by other animals, which indicates the difficulty of survival of archaic reptile 
types at  insufficiently high temperatures. It is evident that even a moderate 
drop in temperature would make the development of tuatara eggs impossible 
and lead to the extinction of this species. 

Turning to the possible effect of a severe drop in temperature on poikilo- 
thermal animals of the Mesozoic era, it should be pointed out that at present 
it is difficult to reconstruct the precise criteria that determined the sensitivity 
of different fossil reptiles to cold, and caused the extinction of some forms 
and the survival of others. We might only suggest that a. drop in temperature 
must have been especially disastrous for large animals, and also for oceanic 
species, which, at the times of strongest cooling, could not shelter in warmer 
refuges, as contemporary reptiles do. 

This suggestion agrees well with the fact of an almost complete extinction 
of large land reptiles and also of both orders of marine reptiles at  the end of 
the Upper Cretaceous. 

Although the possibility of preservation of relatively small forms of the 
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land reptiles was increased thanks to their ability to find refuges, it can be 
considered that the survival of some reptile groups after severe cooling took 
place only in limited warmest areas. 

It is quite clear that harsh cooling was much less dangerous for animals 
that possessed heat regulation, that is, for mammals and birds. I t  is well 
known that these animals succeeded in making the transition from the 
Cretaceous to the Tertiary period and then occupied all the ecological niches 
vacated by the now extinct reptiles. 

Worth mentioning is the question concerning the extent to which the 
extinction of reptiles in critical moments of their history was really simul- 
taneous. Although analysis of the available paleontological material runs 
into great difficulties owing to the unreliability of dating different sediments, 
we still have the impression that the disappearance of various species of 
reptiles at the end of the Upper Cretaceous relates to relatively close but not 
coinciding periods of time. 

This conclusion could be in agreement with the concept of the effect of 
harsh short-term cooling on the extinction of reptiles, if we took into account 
the aforementioned probability of the appearance of a series of short-term 
drops in temperature during periods of intensified volcanism. The first 
cooling would be able to destroy the animals least adjusted to cooling, and 
the subsequent drops to cause extinction of other groups, weakened by the 
previous cooling. 

Let us look at  the question as to what extent this concept permits us to 
overcome the difficulties of explaining the extinction of Mesozoic reptiles 
that have been mentioned in the existing investigations. For this purpose, 
we will discuss the considerations of Colbert, who, in the final section of his 
book “The Age of Reptiles” (1965, p. 203), sets forth contemporary attitudes 
towards this problem. 

In discussing the probability of the effect of catastrophic change in environ- 
mental conditions on reptile extinction, Colbert writes : “Did some great 
event take place that wiped out these reptiles ? If so, why should a great 
catastrophe be so selective-why should it have caused the extinction of five 
orders of reptiles and allowed the continuation of five others ? Why should 
all families and genera and species belonging to these five orders have dis- 
appeared completely ? Moreover, if it was a physical catastrophe of some 
sort, why is it not recorded in the rocks? The continuity of sediments to be 
seen in certain localities as Cretaceous beds are succeeded by Tertiary beds 
indicates an orderly world in those distant days, like the orderly world we 
know. And indeed this is an expression of the principle of uniformitarianism, 
so important to the science of geology. From all of the records of the rocks, 
the world around, there is ample reason to think that earth processes and 
life processes in the past were as they are today; that events of past ages must 
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be explained by the forces which we see acting in nature at the present time. 
There is no place for world-wide catastrophes in the world of the past or of 
the present if the principle of uniformitarianism has any validity.” 

Colbert further points out that at  the end of the Cretaceous period, the 
Laramide Revolution, associated with the formation of several present-day 
mountain systems, took place. He believes that such a change in the natural 
environment was slow enough so that the reptiles could adapt themselves to 
it in the course of evolution. Colbert believes that the difference between the 
climates of the Upper Cretaceous and the Lower Tertiary periods was quite 
small and could not have been the cause of the extinction of reptiles. In 
discussing the question of the possible importance of a temperature change 
during the transition from the Cretaceous to the Tertiary period, Colbert 
principally gives attention to the hypothesis of an abrupt rise in temperature 
in that time, and points out the difficulty of the agreement of this hypothesis 
with the fact of extinction of some groups of reptiles and survival of others. 
He expresses special uncertainty about the possible effect of temperature 
fluctuations on the extinction of sea animals, in view of the great thermal 
inertia of the ocean. 

Colbert also rejects such hypotheses about possible causes of the extinction 
of reptiles as the suggestion of their competition with Cretaceous mammals 
that could destroy the reptiles’ eggs, the idea of the effect of irradiation on the 
reptiles, and several others. In conclusion, he suggests that the extinction of 
reptiles was explicable by a combination of complicated effects, whose real 
nature, perhaps, will never be clarified. 

From our point of view, this pessimistic conclusion can be considered to 
be well grounded when studying this problem on the basis of only paleonto- 
logical data, without using the methods and materials of adjacent disciplines. 
Utilization of paleoclimatological data permits us to overcome the diffi- 
culties mentioned by Colbert and to answer the questions he has raised. 

Thus, for example, it follows from the above concept that for the periods 
comparable in duration with the Mesozoic era, sharp lowerings of tem- 
perature must have occurred, with undoubted disastrous effects on animals 
without heat regulation. Such lowerings were most probable during epochs 
of active volcanism, when the extinction of reptiles also took place. The 
calculations that have been made show that with those cooling trends, a 
considerable chilling of the upper layers of the ocean would have occurred, 
which might lead to extinction of marine species. 

Because of their short duration, such cooling events could-not leave direct 
traces in geological deposits, though their effect on the organic world was 
disastrous in the full sense of the word. 

It has been pointed out that the qualitative regularities of the extinction 
process, as a result of which only land reptiles and essentially small forms 
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survived, agree well with the probable consequences of a brief cooling. It 
can also be considered that the extinction of all the representatives of some 
orders and the survival of some representatives of other orders must indicate, 
to some extent, differences in the endurance of different orders under cooling 
conditions. The presence of direct connections between the evolutionary pro- 
cesses of reptiles, as found in different orders, and their relation to thermal 
conditions, seems entirely natural. 

We are bound to agree with one of the difficulties in the explanation of 
reptile extinction indicated by Colbert, namely, the difficulty of the compati- 
bility between this explanation and the concept of uniformitarianism 
mentioned by him. 

In this connection, we must note that the only element of this concept 
possessing an absolute character is the conservation in all geological epochs 
of the action of fundamental physical and chemical laws and their direct 
consequences. Regularities in development of geological, geographical, and 
biological processes that do not follow from the laws of the exact sciences 
and represent empirical generalizations do not have any absolute value. In 
specific historical conditions, they may change substantially. This idea, 
grounded in contemporary geological investigations, does not mean negation 
of the possibility of applying the uniformitarian approach to the study of 
our planet’s past. However, a thorough test of the validity of methods based 
on the principle of uniformitarianism is necessary when they are applied to 
investigation of processes of the remote past. 

Returning to the problem of the effect of short-term drops in temperature 
on biological evolution, it seems possible to consider them to be one of the 
important reasons for the change of successive faunas in the geological past. 

This conclusion does not mean, however, a return to Cuvier’s concept. 
Contrary to his views, we consider it certain that the change of successive 
faunas depended not only on catastrophic changes in natural environment 
but also on the permanent influence of natural selection under more or less 
stable conditions of environment. Climatic catastrophes might in this 
connection be a factor accelerating the tempo of biological evolution. 

2. The Change of Fauna at the End of the Pleistocene 

In noting the probability of the effect of climatic fluctuations on change of 
successive faunas in the critical epochs of geological history, we should look 
at the possibility of significant changes in the animal world that do not 
depend on fluctuations in climatic conditions. 

From this point of view, great interest attaches to the last change in fauna 
before the contemporary epoch, which took place at the end of the Pleistocene, 
shortly before the ending of the Wurm glaciation. 
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This was a time of significant changes in the composition of the animal 
world in extratropical areas. Thus, in Europe, among the once widely distri- 
buted animals that became extinct were large herbivores such as the mam- 
moth, the woolly rhinoceros, a steppe variety of the aurochs, and the giant 
Irish deer, and also some large carnivores such as the cave lion and cave bear. 
In addition, surviving animal species underwent changes in distribution; 
large herds of reindeer, for example, disappeared from western and central 
Europe. 

Similar changes in the animal world also occurred at  that time in Asia and 
North America. 

The reason for this significant change in the fauna of middle latitudes at  
the end of the Pleistocene has been discussed in a number of investigations. 

Many authors suppose that the reasons are associated with the climatic 
changes that took place in the time under consideration. This viewpoint was 
expressed, in particular, in a monograph by Axelrod (1967) and in several 
earlier works. In opposition to this, some investigators consider that the 
extinction of animals at the end of the Pleistocene is a result of the activity 
of primitive man. 

Even in the 19th century, some authors expressed the opinion that prim- 
itive man could have exterminated the mammoth and certain other species 
of animal. In the contemporary literature, this viewpoint is supported by 
Pidoplichko (1963, and elsewhere), who, however, ties it with a concept of 
antiglacialism which is open to argument. 

Extensive material that confirms the important role of human activity in 
the extinction of animals at  the end of the Pleistocene is contained in the 
papers of Martin (1958, 1966, 1967, and others). He considers that primitive 
man had a determining influence on the disappearance of many animals, 
not only in middle but also in tropical latitudes. 

I t  must be indicated, however, that most authors doubt that human 
activity at  such an early stage could have played a major role in the disappear- 
ance of large and widely distributed animals. 

A review of the literature contained in a monograph by Butzer (1964) 
notes that the animals that became extinct were distinguished by a high degree 
of specialization and therefore could not adapt themselves to changes in the 
natural environment in the late Wurm. Butzer also calls attention to the fact 
that the disappearance of large herbivores at  the end of the Pleistocene was 
accompanied by the extinction of certain carnivores that had not been the 
object of mass hunting by primitive man. In addition, Butzer notes that not 
all the European ungulates of that period became extinct and that large 
herds of large herbivores have survived until recently in tropical countries. 
These animals continue to live and multiply, despite intensive hunting by the 
local population. In Butzer’s view, all these considerations contradict the 
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possibility that man may have exterminated several species of animals at 
the end of the Upper Paleolithic. 

Butzer acknowledges, however, that the presence of remains of mass 
killings of large animals at many Upper Paleolithic sites suggests the possi- 
bility that man may have played a certain role in affecting the total biomass 
balance of the now extinct animals. 

Discussing the question of the reasons for the extinction of mammoths, 
Colbert wrote: “Why did the mammoths become extinct ? This question, 
like so many of the questions having to do with problems of extinction, is 
extremely difficult to answer. In fact, it is probable that we shall never know 
the real reason for the disappearance of mammoths a few thousand years 
ago, after their successful reign through Pleistocene time. Very likely the 
extinction of the mammoths was the result of complex causes. Man may have 
had something to do with it, but we can hardly believe that primitive men 
were of prime importance in bringing an end to these numerous, widely 
distributed, and gigantic mammals.” (Colbert, 1955, p. 416). 

It should be noted that the discussion of the causes of substantial change 
in the animal world of Europe at the end of the Upper Paleolithic has been 
limited in the available literature to qualitative considerations, which cannot 
be easily proved or refuted without attempts at a quantitative treatment of 
the problem. It can be shown, for example, that the high degree of specializa- 
tion of the animals that became extinct at the end of the Upper Paleolithic 
did not interfere with their existence during the abrupt changes in the natural 
environment that occurred repeatedly during the Pleistocene. 

The fact that large carnivores became extinct at the same time as large 
herbivores does not prove the absence of man’s role in the process, because 
the extinction of the carnivores may be explained in terms of the disturbance 
of their system of nutrition as the relevant herbivores became extinct both 
from natural causes and as a result of man’s activity. 

Nor is it so obvious that the preservation of herds of large herbivores in 
the tropics necessarily excludes the possibility that similar animals may have 
been exterminated by hunters in Europe in the Upper Paleolithic. 

We should note that the period of time when this extinction of animals 
occurred was comparatively short and lasted for no more than several tens 
of thousands of years. It is seen from the material set forth in the previous 
section that for such an interval of time, large-scale coolings covering exten- 
sive areas are unlikely. 

In the absence of any pronounced short-term fluctuations of climate in 
the epoch under consideration, substantial but slow changes in climatic 
conditions proceeded, which were associated with the evolution of continental 
glaciations. Such changes would lead to a gradual displacement of natural 
zones, which undoubtedly affected the geographical distribution of animals 
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in extratropical latitudes. Less clear is the effect of slow climatic changes on 
the extinction of many animal species. 

We will try to consider the question of the possible effect of man’s activity 
on the extinction of animals at  the end of the Pleistocene on a quantitative 
basis, taking account of the basic factors that influence animal numbers. 

If this calculation confirms a substantial effect of this activity on the 
extinction process, then the significance of other factors, climatic changes 
included, could be considered secondary. 

Changes in fauna at  the end of the Pleistocene corresponded to the culture 
of the end of the Old Stone Age, the Paleolithic. The Upper Paleolithic began 
in Europe 30,000 to 40,000 years ago, during the epoch of the last Wurm 
glaciation. It was at  that time that present-day man first appeared in Europe, 
replacing the previous Neanderthal race and using an improved technique 
of working stone and bone weapons to create an effective system of mass 
hunting of large herbivorous animals. The Upper Paleolithic also witnessed 
a substantial increase in the population of Europe, a rise in the level of 
material culture, and the first successes in the development of the graphic arts, 
as reflected particularly in the well-known animal drawings in the caves of 
France and other European countries. The Upper Paleolithic ended 10,000 
to 13,000 years ago, shortly before the complete ending of the Wurm 
glaciation. 

The end of the Upper Paleolithic was associated with substantial changes 
in the way of life of Europe’s population, marked by a spreading of Meso- 
lithic culture, in which new stoneworking techniques made their appearance, 
but some achievements of the Upper Paleolithic culture, such as the art of 
rock painting, were to some extent lost. 

It is likely that the end of the Upper Paleolithic marked a major turning 
point in the early history of mankind. This turning point was evidently 
related to the cessation of mass hunting of large herbivores, which had been 
the main source of supply of food and other essentials for Upper Paleolithic 
man. The end of this supply led to a search for new means of existence. 

We will present here a calculation model, by means of which, with the 
aid of the data of some paleogeographical and biological investigations, one 
could find out how hunting during the Upper Paleolithic affected the number 
of hunted animals (Budyko, 1967). 

This model is founded on an equation characterizing the changes in the 
numbers of a given animal species with time 

dn 
- = an - fin, 
dt 

where n is the number of animals per unit area, dnldt is the rate of change in 
the number with time, a is the relative growth of numbers as a result of births, 
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and ,!? is the relative decline of numbers as a result of mortality during the 
unit of time. 

The parameters a and ,!? may depend on the magnitude of n, the actual 
dependences varying with different species of animals. 

The use of computations based on Eq. (9.2) and field-work data show that 
the numbers of individual animal species may fluctuate widely under natural 
conditions. These fluctuations, with periods comparable in order of magnitude 
to the lifetime of one generation of the animals, can be explained by changes 
in the food regime reflecting differences in meteorological conditions from 
year to year, by outbreaks of epidemics, and by the complex interplay 
between the numbers of herbivores and carnivores, which, as shown by 
Volterra, have in some cases the character of autofluctuations (Severtsev, 
1941 ; Laek, 1954; and elsewhere). 

At the same time, the mean number of a given species, over a long period 
of time that is much greater than the mean lifetime of the animals, tends to 
be more or less constant, under constant average external conditions. Changes 
in this mean number may arise either as a result of changes in natural con- 
ditions or in conjunction with the evolutionary development of the species 
studied or of other species interacting with it (Severtsev, 1941 ; Shmal’gauzen, 
1946). 

These regularities in the changes in animal populations are greatly altered 
whenever the animals are systematically hunted. In that case, Eq. (9.2) takes 
the form 

dn - = an - Pln - g ,  dt (9.3) 

where g is the number of animals exterminated by hunters during a given 
period. 

It is obvious that in this case, the coefficient p1 , designating animal mortality 
from natural causes, will, all other things being equal, be smaller than coeffi- 
cient j? because the Paleolithic hunters could more easily kill sick or weakened 
animals than healthy, strong ones. 

Since the products of the hunt were the main sources of food for Upper 
Paleolithic man in Europe, we can assume that g = ym, where m is the human 
population per unit area, and y is the relative amount of biomass of the 
hunted animal that is consumed by one person during the given period of time 
(the ratio of the weight of the consumed biomass to the mean weight of one 
animal). 

Equation (9.2) thus takes the form 

dn - = an - Bln - ym. 
dt (9.4) 
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It  should be noted that in computing the decline in animal numbers resulting 
from systematic hunting, we cannot, for a number of reasons, make use of the 
“collision principle” proposed by Volterra for the study of the carnivore- 
herbivore relationship. 

In accordance with this principle, the number of exterminated animals is 
considered proportional to their quantity, which is a natural assumption for 
small animals that can escape from pursuit. We can assume that man 
equipped with the technique of mass hunting could in all cases seek out his 
prey within his territory, especially such large animals as mammoths, which 
lived in open tundra and steppe. For this reason, the magnitude of ym in 
Eq. (9.4) should be considered independent of n as long as the hunted animals 
continue to remain within the tribal territory in numbers sufficient to meet 
the current requirement of the tribe. 

In computing changes in the numbers of large herbivores during the Upper 
Paleolithic, we must also consider changes in human population during that 
period. These changes are obviously given by an equation similar to Eq. (9.2), 
namely, 

dm - = am - bm, dt 

where a and b are, respectively, the coefficients of human birth and mortality. 
These coefficients depend on a whole series of factors, but in view of the 

absence of data, we will have to limit ourselves to a rough estimate of the 
mean value of the difference between these coefficients, c = a - b, which we 
will consider not to be a function of either time or population density. 

(9.5) 

In that case, Eq. (9.5) yields 
m = m, ect, (9.6) 

where m is the human population at time t, and m, is the population at  the 
beginning of the given period. 

Certain ideas concerning the population density in Europe at  the beginning 
and end of the Upper Paleolithic can be reached on the basis of available 
ethnographic studies relating to tribes at  different levels of historical develop- 
ment. 

Using such a method, various authors have estimated the population 
density of Europe at  the end of the Upper Paleolithic at  5-50 persons per 
100 km2. These magnitudes should be compared with the far lower density 
of a population that does not possess the capability of mass hunting, namely, 
an average of one person per 100 km2 [see Braidwood and Reed (1957), 
Butzer (1964), and others]. 

If we assume that a corresponding population increase took place during 
the Upper Paleolithic, which lasted about 25,000 years, we can use Eq. 
(9.6) to obtain a value for c ranging from 0.64 x to 1.56 x yr-’. 
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Such coefficients of natural increase, extremely low from the present point 
of view, are typical of the early periods of human history. They are in close 
agreement with the short average lifetime of Upper Paleolithic man estab- 
lished from skeleton finds. 

We will now calculate the change in numbers of one of the species of large 
herbivores that inhabited the European tundra during the Upper Paleolithic. 

If that species predominated in the given terrain in relation to other species 
of herbivores, it could use most of the available fodder resources, which, in 
the tundra, are adequate to support animal numbers approximately equivalent 
to 800 kg of biomass per square kilometer (see Chapter VIII). 

This magnitude determines the upper limit of the possible number of these 
animals. We can assume that in the case of animals such as the mammoths, 
whose numbers did not depend greatly on the activity of carnivores, such a 
limit eould be achieved under favorable conditions. 

Let us now see how the numbers of mammoths would have changed after 
the beginning of mass hunting by man. To make this calculation, we have to 
solve an equation obtained from Eqs. (9.4) and (9.6), 

dn 
- = an - Pln - ym, ect. 
dt (9.7) 

Multiplying all members of the equation by the average weight of each 
animal, we give it the form 

-- - aN - BIN - rmo ect, dN 
dt 

where N is the biomass of the studied animals per unit area, dN/dt is the rate 
of change of that biomass with time, and r is the biomass of hunted animals 
consumed by one person per year. 

This equation must be solved for the initial condition N = No at t = 0, 
which corresponds to the animal biomass a t  the beginning of the Upper 
Paleolithic, equal to the limit imposed by existing fodder conditions. 

To simplify the computation in view of the difficulty of estimating coeffi- 
cient /I1, we will assume that when rmOeCt is less than aN, the right-hand side 
of Eq. (9.8) will equal zero, that is, the mean animal numbers will not change 
if losses from hunting are less than the increase in biomass. If the term 
Fm, ect increases to values equal to or greater than aNo, we shall ignore the 
term &Nand use Eq. (9.8) in the form 

dN 
- = aN - r m ,  ect. 
dt (9.9) 

It is obvious that both of these simplifications will yield a somewhat lower 
rate of decline of animal numbers as compared with reality. 
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If we now designate by T the period of time during which hunters do not 
greatly affect the numbers of the hunted animals, we can obtain that magnitude 
from the equation 

rmOeCr = aNo,  (9.10) 
whence we find that 

(9.1 1) 

To determine the period of time during which the number of mammoths 
declines all the way to complete extinction, it is necessary to solve Eq. (9.9). 

Assuming that N = No at t = T, we can calculate how the reserve of 
biomass of the studied animals changes with time: 

(9.12) 

By using this formula, we can calculate the period of time in which the 
magnitude N becomes zero, which would signify the extinction of the given 
species of animal. 

In making computations with these formulas of the rate of change of 
numbers of mammoths during the Upper Paleolithic, we must also know the 
magnitude of the coefficients a and I?, in addition to the parameters already 
derived above. The first of these characterizes the ratio of the number of 
mammoths born in a given year to the total size of the herd. For modern 
elephants, this coefficient is equal to 0.05. 

The coefficient r can be estimated roughly on the basis of ethnographic 
data for northern tribes that subsisted mainly on the products of the hunt of 
large animals. Bearing in mind that I? stands not only for direct food con- 
sumption, but also for other household uses and nonproductive losses, we 
can estimate I? roughly at  500-1000 kg yr-l  per person.* 

Taking the mean magnitude of I' = 750 kg yr-l  and assuming on the 
basis of earlier estimates that No = 800 kg km-2 and m, = 0.01 km-2, we 
used the equations above to calculate the rate of change of the mammoths 
for two values of the coefficient c: 0.64 x 

Computation of magnitude T by Eq. (9.11) shows that mammoth numbers 
changed relatively little over a period of 10,000-25,000 years (depending on 

* In an interesting paper by Bibikov (1969), in which the author agrees with the princi- 
pal conclusions resulting from the calculation given here, such an estimation of biomass 
expenditure is considered slightly overestimated. Although we agree that the actual 
consumption of meat and fat of animals was noticeably less than the given value, we 
consider this estimate possible in view of the fact that biomass would be inevitably 
expended for household uses (grease, skin, bones of animals) and nonproductive losses 
associated, in particular, with the difficulties of long storage. 

and 1.56 x yr-'. 
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the adopted value of c )  after the beginning of mass hunting. Then, however, 
computation by Eq. (9.11) shows that mammoth numbers began to decline 
rapidly and that within a few centuries after the end of the period of stability, 
the mammoth became extinct. 

It must be borne in mind in any evaluation of the results of this computation 
that the approximate character of the values of the parameters tends to limit 
its accuracy. However, an analysis of the equations shows that significant 
changes in the magnitudes of the parameters do not affect the general reg- 
ularities of the process and do not alter the basic conclusion that large 
animals of the mammoth type could have become extinct during a period of 
time of the order of the length of the Upper Paleolithic. 

It is easily understood that this conclusion will not change if we replace 
the above dependence of population number on time by a simpler linear 
relationship. We should note that the conclusion reached would also be 
corroborated for conditions in which the animal species discussed (for ex- 
ample, the mammoth) makes up only a portion of the herbivores living on the 
available fodder base. For this purpose, one need only assume that the re- 
lationship between the biomass of a given species to the total biomass of 
hunted animals corresponds approximately to a similar relationship for the 
biomass of animals killed by hunters. 

Moreover, the latter conclusion could be obtained without complicated 
computations simply by comparing available information on the biomass 
balance of large herbivores of Europe during the Upper Paleolithic. Of basic 
importance here is a comparison between the annual magnitude of biomass 
growth and the human population within the given territory. 

If, say, in the case of the mammoth, this growth of biomass did not exceed 
4000 kg per 100 km2, it is obvious that this increase, even if used entirely by 
hunting tribes, was adequate to support a population with a density of not 
more than a few persons per 100 km2. It is clear, however, that, having reached 
this density limit, the population still continued to grow, since it continued 
to be supplied for a long time with food not only from the increase in biomass, 
but in part also from the basal herd of the hunted animals. 

As a result, the growth of biomass gradually declined, and the size of the 
herd dwindled to complete extinction, corresponding with the results of the 
calculation above. 

It may be thought that after man had exterminated the mammoths in most 
of the territory they once occupied, the last herds might have found refuge 
in uninhabited sections of northern Asia. However, the existence of large 
herbivores in areas with such a rigorous climate could have been supported 
by fodder resources only in periods of relative warming. Any climatic fluctua- 
tion in the direction of cooling would have led to extinction of the mammoths 
in these areas too. 

Using the equations derived above, it is possible to explain why primitive 
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man was able to exterminate the mammoths but was not able to exterminate 
the related elephants, which until recently have been so numerous in many 
tropical regions. 

Equation (9.11) shows that the period of preservation of a hunted animal 
species depends on the possible stock of biomass No and on the relative 
magnitude of consumption I? of that biomass by the hunting tribes. Accord- 
ing to available data (see Chapter VIII), the biomass of large herbivorous 
animals in tropical savannas is at least ten times larger than the corresponding 
magnitude in the tundra. Furthermore, the diet of primitive man in tropical 
latitudes could include far more plant products than the food of the Paleo- 
lithic hunters of Europe, which was necessarily limited to the products of the 
hunt. Assuming that the magnitude of I? for tropical hunters was at least half 
of the value we used for the Upper Paleolithic in Europe and taking a magni- 
tude of No corresponding to savanna conditions, we can use Eq. (9.11) to 
show that the magnitude of T for the tropics would have to be roughly 
three times greater than the value we obtained for Paleolithic Europe. The 
population of elephants, on the assumption of continuous hunting, could thus 
maintain itself at a high level for tens of thousands of years after the extinction 
of the mammoths. 

Our theory enables us to explain why only the largest of the herbivorous 
animals of the Upper Paleolithic in Europe became extinct. Since the upper 
limit of the numbers of any species was determined by the fodder resources 
of the given geographic zone, the magnitude of the biomass increase de- 
pended primarily on the birth-rate coefficient a. We know that this coefficient 
is smallest for the largest animals and increases with a decline of animal size. 
The animals most vulnerable to the hunters of the Upper Paleolithic were 
thus those species of large herbivores whose biomass increase per unit area 
was the smallest. The cause of the biological catastrophe affecting these 
species was quite simple. 

In the course of evolution, the increase in body size of the herbivores frezd 
them to a certain extent from the threat of attack by carnivores, and the 
elimination of this important factor in the decline of animal numbers made 
possible and advisable a significant reduction of the birth rate. When Upper 
Paleolithic man started to hunt these animals, he performed the same role 
that wolves and other carnivores play in the case of smaller herbivores. How- 
ever, while the smaller herbivores were able to replenish their losses by a high 
birth rate, the larger herbivores were deprived of this possibility, and the 
extinction of these animals was only a question of time as soon as they were 
exposed to hunting, against which they were not adapted by their evolution- 
ary development. 

It should be noted that such an explanation of the reason for the pre- 
dominant extinction of large animals at the end of the Pleistocene differs 
from one given by Simpson (1944), who held that large animals with their 
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less frequent succession of generations found it more difficult to adapt to 
the changing natural conditions of the period. 

It may be supposed that the actual period of time that elapsed from the 
start of mass hunting to the beginning of extinction of the large herbivores 
in some parts of Europe was significantly shorter than the magnitude we 
derived by our equations. This is related to the assumptions we made in the 
computations and to the fact that we ignored fluctuations in animal numbers 
from natural causes, that is, as a result of epizootics and especially changes 
in the fodder supply, which could be quite substantial during the late Wiirm. 

Such fluctuations could have shortened the process of extinction of a large 
herbivore in a particular area by many thousands of years, especially if we 
consider that the replenishment of a species by migration from other areas 
was made difficult by the continued hunting of large herbivores by Upper 
Paleolithic man. 

From this point of view, the largest animals with the lowest birth rate 
would be expected to be the first to become extinct under conditions of 
intensive hunting. Their extinction could have stimulated a temporary 
increase in the numbers of smaller herbivores by making available additional 
fodder resources. But further intensification of hunting could have led also 
to the extinction of species with a higher birth rate, as happened, for example, 
with the wild reindeer in parts of Western Europe. It should be added that, 
in the case of the smaller animals, losses from hunting by man were supple- 
mented by substantial losses from predators that weakened the stabilizing 
effect of the higher birth rate for preservation of the species. 

Certain other consequences of our calculation model also require discussion. 
The process of reduction of numbers of the hunted animals, slow at first, 

gradually accelerated, and the last still relatively numerous herds were exter- 
minated quite rapidly. In addition, as the total numbers declined but long 
before complete extermination of a given species, the hunted animals must 
have disappeared for more or less extensive periods of time from some areas 
as a result of natural fluctuations in numbers, the migration of individual 
herds, and so forth. 

As the population of Paleolithic Europe was steadily increasing, the 
existence of that population, being based on mass hunting, was thus in- 
creasingly threatened by a shortage of animals. This explains the exceptional 
attention that man of the Upper Paleolithic devoted to representations of 
animals, to which he attributed a magic character and which were supposed 
to help restore the disappearing herds. But as intensive hunting continued, 
the general process of extermination of large herbivores accelerated further 
and its last phase passed especially rapidly ; this placed the hunting tribes 
in a difficult situation, because they were not given sufficient time to make the 
gradual transition to other means of existence. 
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It may be supposed, therefore, that the transition to the Mesolithic was a 
period of hardship for primitive man, possibly associated with a temporary 
decline in population. 

As is‘well known, the end of the Paleolithic in the middle latitudes of North 
America was also accompanied by the extinction of large animals, which 
would tend to support the causal relationship of these phenomena. It is 
also quite likely that significant changes in natural conditions at the end of the 
Paleolithic created additional difficulties for the existence of the hunted 
animals and speeded a process already under way. 

It may thus be supposed that the end of Paleolithic culture in Europe was 
to a certain extent a result of the insoluble conflict between man’s capability 
of hunting large animals, thus assuring a temporary abundance of food and 
permitting an increase in population, and the limitation of the natural 
resources for that hunting, which after a certain period of time became 
exhausted. 

We note in conclusion that, as the material of this chapter shows, climatic 
factors greatly affected the change of successive faunas during many millions 
of years. Later, man’s activity played a determining role in changes of the 
animal world. While this activity caused noticeable changes in the com- 
position of the animal world in the epoch of the Old Stone Age, the action of 
man in our own time exerts a constantly growing influence on the fauna of the 
globe. 
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X 
Man and Climate 

1. Man’s Impact on Climate 

Man’s influence on climate began to show up several thousand years ago 
in conjunction with the development of agriculture. In many regions, forest 
vegetation was destroyed for cultivation of the earth, which led to an in- 
crease of wind speed near the earth’s surface, change in the regimes of tem- 
perature and humidity of the lower layer of air, and also to change in the 
regimes of soil moisture, evaporation, and run-off. In relatively dry regions, 
destruction of forests was often accompanied by intensification of dust storms 
and destruction of soil cover, which appreciably changed natural conditions 
in those areas. 

Still, the destruction of forest, even over extensive areas, probably has a 
limited effect on large-scale meteorological processes. Diminution of the 
roughness of the earth’s surface and some changes in evaporation over 
deforested lands alter the precipitation regime slightly, though this alteration 
is relatively small if forest is replaced by other types of vegetation cover 
(Drozdov and Grigor’eva, 1963). 

Complete destruction of vegetation on a given area, which has taken place 
repeatedly in the past as a result of man’s economic activity, can affect 
precipitation more substantially. Such cases, in particular, occurred after 
forests in mountain regions with poorly developed soil cover were cut down. 
In these conditions, erosion rapidly destroys soil that is unprotected by forest, 
and as a result, further existence of a developed vegetation cover becomes 
impossible. A similar situation arises in some areas of arid steppe where 
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the natural plant cover, destroyed as a result of unlimited pasturing of agri- 
cultural animals, does not regenerate, so that these areas turn into deserts. 

Since the earth’s surface without vegetation cover is strongly heated by 
solar radiation, the relative humidity of the air over it decreases, which 
heightens the level of condensation and can diminish the amount of precipi- 
tation. It is likely that such a mechanism is significant for an explanation of 
the aforementioned cases in which natural vegetation in arid regions does not 
regenerate after it has been destroyed by man. 

Another way in which man’s activity influences climate is associated with 
the application of artificial irrigation. In arid regions, irrigation has been 
used for many millennia, beginning with the eras of very ancient civilizations 
that sprang up in the Nile Valley and between the Tigris and Euphrates 
Rivers. 

Application of irrigation changes the microclimate of irrigated fields 
radically. Because of the considerable increase of heat expenditure for 
evaporation, the temperature of the earth’s surface becomes lower, which 
leads to a drop in temperature and a rise in relative humidity of the lower 
layer of air. Such a change in meteorological regime, however, rapidly fades 
out beyond the limits of the irrigated fields. Therefore, irrigation results 
only in change of the local climate and has little influence on large-scale 
meteorological processes. This question will be discussed below in greater 
detail. 

Other kinds of human activity in the past did not have any noticeable 
effect on the meteorological regime of extensive areas, and as a result, 
climatic conditions on our planet were essentially determined, up to recently, 
by natural factors. 

This situation began to change by the middle of the 20th century, owing to 
a rapid growth in population and especially to acceleration of the general 
development of technology and energy. 

Contemporary man’s impact on climate can be divided into two groups. 
The first relates to a directed influence upon the hydrometeorological regime, 
and the second to an influence that is a side-effect of man’s economic activity. 

The first group includes, in particular, measures for management of the 
water regime of the earth’s surface and for management of vegetation cover, 
a practice that is now rapidly expanding. 

Water-regime management 

Measures for managing the water regime that most affect climate include 
irrigation, drainage of wetlands, and construction of storage reservoirs. Let 
us discuss more thoroughly the physical mechanism of changes in meteoro- 
logical regime with irrigation (Budyko, 1956). 



1 MAN'S IMPACT ON CLIMATE 465 

With irrigation under climatic conditions of dry steppe, semidesert, and 
desert, a substantial increase occurs in the radiation balance, which may 
reach several tenths above its initial value. 

The increase in radiation balance is, on the one hand, explained by an 
increase of the amount of short-wave radiation absorbed due to decrease in 
albedo, which, for moist soil covered by more or less luxuriant vegetation, 
is appreciably less than the usual albedo values of the surfaces of desert and 
semidesert. On the other hand, the lowering of temperature of the under- 
lying surface and the rise in humidity of the lower layer of air resulting from 
irrigation ensure a decline of net long-wave radiation, which also increases 
the radiation balance. 

Irrigation under conditions of an arid climate leads to a sharp increase in 
the heat converted in evaporation, the value of which is determined princi- 
pally by the average irrigation. With ordinary amounts of irrigation, an 
increase of heat converted in evaporation as a rule exceeds the increase in 
the radiation balance. As a consequence, the value of the outgo of sensible 
heat is noticeably decreased, and at sufficiently large applications of irri- 
gation water, it amounts to negative values, corresponding to the direction 
of the mean sensible-heat flux from the atmosphere to the underlying surface. 
This is evident in the appearance of temperature inversions in daytime. 

Thus, under arid-climate conditions, irrigation considerably reduces both 
the sensible-heat flux (which can even change sign) and the flux of heat trans- 
ferred by emission of long-wave radiation. With irrigation of sufficiently 
large areas, this can lead to noticeable changes in the conditions of air-mass 
transformation on that area. 

As a typical example of change in the components of the heat balance with 
irrigation, we will give here a model of change in heat balance for average 
summer conditions in the southern part of the lower Povolzh'e at an irri- 
gation application of 10 g cm-2 month-l, that is, 1000 m3 ha-l month-l 
(Fig. 130). In this figure, all the numerical magnitudes, which are measured in 
kilocalories per square centimeter, are rounded to whole numbers. 

It can be seen from the data presented in the model that in this case, irri- 
gation ensures an increase in radiation balance of the order of 40%. This 
results from an appreciable decrease in the values of albedo and net long-wave 
radiation. 

A considerable increase of the heat converted for evaporation in the case 
in question is the reason that the outgo of sensible heat from the underlying 
surface to the atmosphere becomes zero. It also leads to a decrease to one 
half in the sum of sensible-heat outgo and net long-wave radiation. 

Similar regularities are apparent from observational data obtained in 
Pakhta-Aral (Central Asia). The results of these observations, presented in 
Figs. 131 and 132, permit the heat-balance components of an irrigated oasis 
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Fig. 130 Effect of irrigation on components of the heat balance in the lower Povolzh'e 
(components of the radiation and heat balances in kcal cm-a month-l). 

to be compared in the diurnal march with those relating to the surrounding 
semidesert (July). In both figures, the data for the oasis are shown by a solid 
line and for the desert by a broken line. 

The data of Figs. 13 1 and 132 show an appreciable increase of the radiation 
balance R in the oasis as compared to the semidesert, and also a great heat 
outgo for evaporation from the irrigated fields. (In the semidesert, evapora- 
tion in the period in question is practically zero.) In accordance with this, 
as is seen from Fig. 132, the sensible-heat flux P in the desert by day far 
exceeds that in the oasis, and has the opposite sign. Heat turnover in the soil 
under the given conditions changes comparatively little under the influence of 
irrigation. 

0 4 8 12 16 20 24 

Hour 

Fig. 131 Diurnal march of the radiation balance in an irrigated oasis and semidesert 
l-oasis, 2-semidesert. 
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Fig. 132 Diurnal march of the components of the heat balance in an irrigated oasis 
and semidesert. 1-oasis, 2-semidesert. 

As noted above, irrigation substantially affects the thermal regime. In 
deserts and dry steppes, because of the small magnitudes of heat outgo for 
evaporation, solar radiation absorbed by the earth's surface is mainly 
expended in heating the atmosphere by means of the turbulent sensible-heat 
flux and long-wave emission. Under such conditions, very high temperatures 
of the active surface are observed. 

To determine these temperatures, we can use the heat-balance equation in 
this form (see Chapter VII): 

Ro - 46uT3(TW - T )  = ptPD(Tw - T )  + LE + A,  (10.1) 

where Ro is the radiation balance at the earth's surface determined by calcu- 
lating net long-wave radiation from the air temperature; 4SuT3(T, - T )  is 
the difference in net long-wave radiation derived from the temperature of the 
active surface T, and from the air temperature T (6 is emissivity and u is the 
Stefan-Boltzmann constant); pcpD(Tw - T )  is the sensible-heat flux from 
the earth's surface to the atmosphere ( p  is the air density, cp is the heat 
capacity of the air at constant pressure, D is the integral coefficient of tur- 
bulent diffusion); LE is the heat outgo in evaporation ( L  is the latent heat of 
vaporization, E is the evaporation); and A is the heat inflow to the soil. 

It follows from Eq. (10.1) that 

Ro - LE - A 
pcPD + 4SaT3' T , - T =  (10.2) 

Since the values LE and A under these conditions are far less than Ro, 
then the value T, - T in daytime may be very large. Calculations by Eq. 
(10.2) show that it may be equal to 10-20". 
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The great differences of T, - T correspond to large heat fluxes from the 
earth’s surface to the atmosphere. As a result of heating the lower layer of 
air, its temperature rises and relative humidity drops. The drop in relative 
humidity in turn contributes to the reduction of precipitation. 

Irrigation of arid territories produces a considerable change in the water 
balance of the soil. Because of irrigation, evaporation increases sharply, the 
growth being equal to the irrigation application minus the outflow of 
irrigation water in percolation. 

Accordingly, the heat outgo for evaporation increases considerably, which 
leads to a considerable drop in the temperature of the active surface. 

Taking into account the fact that changes in the air temperature observed 
with irrigation are far less than those in active-surface temperature, we can 
derive a formula for determining active-surface temperature when irrigation 
water is applied: 

(Ro - Ro’) - (LE - LE’) 
T, - T,’ = 

pc,D + 460T3 
9 (10.3) 

where the values relating to conditions of the irrigated area are designated 
by primes and those for conditions of the unirrigated area are not primed. 
In deriving Eq. (10.3), we take into consideration that IA - A‘I << LE‘ - LE. 

As was noted above, when irrigation is applied, the radiation balance at  
the earth’s surface increases noticeably, because of an increase in albedo. 

With ordinary irrigation applications, the increase of heat outgo for 
evaporation appreciably exceeds the increase in the radiation balance, which 
results in the difference T, - T,’ turning out rather large with sufficiently 
large irrigation amounts. 

As a result, the temperature of the active surface of the irrigated site under 
daytime conditions approaches the air temperature, and with abundant 
irrigation becomes less than the air temperature. It has been pointed out that 
irrigation of sufficiently large areas results in substantial changes of the 
conditions of air-mass transformation, as a consequence of which the regimes 
of temperature and humidity of the lower layers of air over the irrigated 
areas are changed. Warm, dry air coming in from outside becomes moist 
and cool as it moves over the irrigated land. 

Changes in air temperature and humidity over irrigated areas can be con- 
sidered to be a result of transforming air that comes from different outside 
areas, depending on wind direction. The degree of change is a function of 
distance from the boundaries of the irrigated oasis, increasing with distance 
of the site in question from the oasis boundary. In addition, changes in 
temperature and humidity of the air with irrigation depend on the following 
factors : 

1. The depths of irrigation water applied and the intervals between 
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applications. The greater the amount of water received and evaporated 
by the irrigated field in a given interval of time, the larger are the 
temperature and humidity differences between irrigated and un- 
irrigated fields. 

2. Wind speed and the turbulent exchange coefficient. These two factors 
are closely interconnected, and determine the thickness of the air layer 
in which changes of temperature and humidity occur. Essentially, 
the distributions of temperature and humidity with height within 
the lower layer of air depend on the same factors. 

3. Radiative properties of the underlying surface-mainly its re- 
flectivity (albedo), this factor having already been discussed. 

Empirical study of the effect of these factors taken separately is rather 
difficult. Therefore, it is more advisable to take the approach of theoretical 
calculation of changes in temperature and humidity, in conjunction with a 
test of conclusions with data obtained during experimental investigations at 
permanent stations and on field expeditions [see Budyko et al. (1952)l. 

On the basis of the theory elaborated, one can rather accurately calculate 
the changes in temperature and humidity at different altitudes depending on 
the water loss for evaporation, the changes in albedo, the intensity of tur- 
bulent exchange, and the distance from the boundary of the oasis. This 
calculation can be used for designing irrigation systems on areas that have 
not been irrigated before. 

Let us now consider some actual data. Table 40 presents data of observa- 
tions at meteorological stations situated in the desert and an irrigated oasis, 
generalized by Sapozhnikova (Budyko et al., 1952). The data are given for 
one latitude (42") and altitude above sea level (100 m). Oases with widths 
that do not exceed 3 km are referred to as small and the others as large. It is 
seen from the table that the changes in temperature and humidity are maximal 
(in absolute value) in the summer months, when the water-vapor output from 
irrigation is the greatest. At this time, the drop in temperature at the level 
of the meteorological shelter that is caused by the increase in evaporation and 
transpiration amounts to 2.5-3", and the absolute humidity in the center of 
a large oasis, as compared to that of the desert, has grown by approximately 
5 mbar. At lower latitudes, the absolute magnitudes of these differences are 
larger. 

In the steppe zone, the effect of irrigation on temperature and humidity 
of the air is slightly less, which is primarily associated with the smaller addi- 
tional expenditure of water for evaporation. 

It should be mentioned that irrigation of arid lands, lowering temperature 
on the irrigated fields, increases the mean temperature of the atmosphere. The 
temperature drop in the irrigated regions is associated with an increased 
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outgo of heat for evaporation, but for the earth as a whole, this change is 
compensated by an identical increase in the heat of condensation, which 
occurs in the atmosphere of other regions, where the water vapor from 
irrigation is condensed. 

At the same time, when deserts and dry steppes are irrigated, the albedo 
of the earth's surface decreases markedly, which increases the amount of 
radiation absorbed in the earth-atmosphere system. 

Let us determine how the presently existing system of irrigation affects the 
mean temperature near the earth's surface. I t  is evident from the data pre- 
sented in Chapter I1 that with irrigation of arid regions, the albedo of the 

TABLE 40 
EFFECT OF IRRIGA~ON ON THE MEAN MONTHLY TEMPERATURE T 

AND THE PRESSURE OF WATER VAPOR e AT 2 m HEIGHT 

Meteorological 
element Apr. May June July Aug. Sept. Oct. Nov. 

Difference T between 0.0" -0.5" - 1.6" -2.4" -2.5" - 1.7" - 1.4" -0.4" 
small oasis and 
desert 
Difference T between -0.6" - 1.1" -2.2" -3.1" -2.8" -2.3" - 1.7" -0.8" 
large oasis and 
desert 
Difference e between 1.1  1.8 3.4 3.6 3.7 2.5 1.2 0.4 
small oasis and 
desert, mbar 
Difference e between 0.4 1.8 4.2 5.4 5.4 3.6 1.6 0.8 
large oasis and 
desert, mbar 

earth's surface may decrease by a magnitude of about 0.10. Taking into 
account the relationship between the albedo of the earth's surface and that of 
the earth-atmosphere system (Chapter 111, section 4), we find that with 
minimal cloudiness, such a decrease in the surface albedo corresponds to a 
decrease in the albedo of the earth-atmosphere system equal to 0.07. 

Lands now irrigated total approximately two million km2, which amounts 
to about 0.4% of the total area of the earth. Thus, irrigation decreases the 
earth's albedo by approximately 0.0370. 

It  was established earlier (Chapter 111, Section 4) that a change in the 
earth's albedo by 1% alters the mean temperature near the earth's surface 
by 2.3". Taking this value into account, we find that irrigation raises the mean 
temperature near the earth's surface by approximately 0.07". 
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Such a change in temperature is not of substantial importance for climate, 
but it is not negligibly small and with expansion of irrigated areas may play 
a definite role. 

Drainage of marsh land usually affects climate in a way opposite to irriga- 
tion, that is, because of reduction in soil moisture, the soil temperature rises, 
evaporation decreases, cultivation of soil can be started earlier in spring, 
harvesting in autumn becomes easier, and so on [see Budyko et al., (1966)l. 

One of the means of draining and hence warming oversaturated soils is 
ridge plowing, applied in the north under the conditions of insufficient heat. 
As a result of such cultivation, the soil in the plowed layer turns out warmer 
by 1-1.5" as compared to smooth fields. 

A natural bog possesses a number of properties that differ substantially 
from those of mineral soils. Peat in a damp state contains a great amount of 
water and therefore possesses high heat capacity with a considerable heat 
conductivity. In contrast, dry turf and the moss covering it is characterized 
by low heat conductivity. Strongly heated by day and cooled at  night, a dry 
surface layer of peat allows little heat to pass into the underlying layers of soil. 
For this reason, at the beginning of summer, the soil under such a peat layer 
can remain frozen, thawing only after rains saturate it. In summer, bog soil 
is relatively cold, and in winter, on the contrary, it freezes little and under snow 
cover it often melts during the course of the winter. 

Evaporation from undrained marshes varies over a wide range. If peat is 
thin (as it usually is on lowland grass marshes), then in summer, the marshes 
are covered by thick grass, which evaporates an amount of water close to the 
maximum possible for the given energy resources, provided there is a suffi- 
cient supply of moisture. With a thick layer of peat (usually on upland 
marshes), grass vegetation is replaced by moss. Moss absorbs water well, but 
evaporates it rather poorly, especially if the marshes are covered by shrub 
vegetation. The total evaporation from such marshes changes in relation to 
the degree of water saturation. According to the data of Romanov (1961), 
marshes situated in the north of the European USSR are saturated by 
moisture, and evaporate 20-30x more than a dry swale. In the region of 
Moscow, evaporation from them, on the average for a year, does not exceed 
that from a dry swale. In more arid places, it may prove to be lower than from 
fields. 

Depending on how and for what purposes drainage is performed, the 
climate of marshes also changes. Thus, for the purposes of peat production, 
deep drainage of marshes is undertaken. Because of the-small capillary con- 
ductivity of peat, the surface of the marshes with deep drainage easily becomes 
overdry, its vegetation dies, and evaporation diminishes considerably. 
Diurnal temperature fluctuations increase sharply on the dry peat surface. 

Drainage of  marshes for the purpose of converting them to agricultural 
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lands is performed in quite another way, and the microclimatic regime changes 
accordingly. In this case, drainage extends through only the surface layers. 
Under such conditions, evaporation from vegetation is determined by energy 
resources and also by the state and phase of vegetation development. 

Over a damp surface of peat, no such increase of the diurnal temperature 
range is observed as on an overdry marsh. At the same time, soil temperature 
of drained marshes under dense grass vegetation turns out lower than that of 
dry valleys with loamy soils by 3-6", and with sandy soils by 4-8". 

Large storage reservoirs on rivers made in the construction of hydroelectric 
power stations represent water bodies of large area but comparatively shallow 
depth. Therefore, the influence of such reservoirs on climatic change is similar 
to that of small bodies of water. I t  is primarily reduced to a diminution of the 
roughness of the earth's surface and a corresponding acceleration of wind. 
In comparison with open, smooth terrain, the wind speed over reservoirs 
increases by 20-30%. This increase is the greatest during the autumn, when 
the water is warmer than the air and intensive turbulent exchange is de- 
veloped over water bodies. In spring, this exchange is relatively weakly 
expressed, both because of the presence of ice cover on the water bodies, and 
after its breakup, while the water remains relatively cold. At this time, the 
increase of wind speed over the reservoir, as compared to an open flat place 
on land, is hardly noticeable. After creation of a water reservoir, the diurnal 
temperature fluctuations decline, the radiation balance increases (because of 
reduction of the albedo), and evaporation averaged over the year increases but 
during the course of the year has quite a different distribution as compared to 
the land. 

Under conditions of surplus or sufficient moisture, changes in the climatic 
conditions of the surroundings that accompany the construction of storage 
reservoirs are small. For example, in the vicinity of the Rybinsk reservoir, one 
can hardly note any systematic temperature change at stations situated along 
its present shores. 

Substantial changes in shore climate arise when storage lakes are created 
under conditions of an insufficiently moist climate (Tsimlianskoe, Volgo- 
gradskoe, Bukhtarminskoe, and others). 

Because of intensive evaporation from a water body as compared to 
surrounding land (where there is no water for evaporation and from which 
dry air comes to the near-shore waters of the storage lake), the temperature 
on the shores of reservoirs in the warm season turns out to be noticeably 
lower than in regions remote from the reservoir (up to 2-3"). Low temperatures 
in the daytime contribute to the development of rather strong lake breezes 
(up to 3-4 m sec-l), whose vertical extent amounts to several hundred 
meters. 

Similar to irrigation, the creation of artificial storage reservoirs results in 
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a decrease of albedo of the earth-atmosphere system and, consequently, in 
an increase of the amount of absorbed radiation. Thus, storage reservoirs 
cause a rise in the mean temperature of the atmosphere. This rise, however, 
is less than the temperature change resulting from irrigation. 

When a storage reservoir is built in regions with vegetation cover, the mean 
albedo of the earth's surface declines in approximately the same way as it 
does when desert areas are irrigated. However, since the largest artificial 
reservoirs are built in regions with a comparatively humid climate, where 
considerable cloudiness exists, the albedo of the earth-atmosphere system in 
this situation changes less than over irrigated regions, where cloudiness is 
small. Besides, since the total area of artificial reservoirs is appreciably less 
than the area of irrigated land, their effect on the mean temperature near the 
earth's surface turns out to be comparatively small. 

Management of vegetation cover 

At the beginning of this chapter, it was pointed out that the destruction of 
forest has for a long time exerted a certain influence on climate. Corre- 
spondingly, the planting of forest is also accompanied by changes in meteoro- 
logical regime, which, however, are mainly limited to the surface layer of 
air. Among the various forms of forest plantations, forest shelter belts, 
widely used as an improvement practice, have the greatest effect on climate. 

Field-protecting belts usually are tree plantations from several meters up 
to several tens of meters wide, which border square or rectangular fields 
having dimensions from several hundreds of meters up to 1-2 km. 

Forest belts are more often applied in arid regions, where they promote 
the maintenance of a more favorable regime of moisture in agricultural fields. 

The main factor of the influence of forest belts on the meteorological regime 
of the surface layer of air is their wind-protection effect, which comes down 
to a decrease of mean wind speed on the interbelt fields and of the intensity 
of turbulent exchange in the lowest air layer, next to the surface of the earth. 

The weakening of turbulent exchange in the lower layer on the interbelt 
fields can be explained by the fact that atmospheric eddies moving near the 
earth's surface are split up and destroyed when they come into the forest belt. 
As a consequence, the air stream that has percolated through the forest belt 
is deprived of large eddies, which considerably reduces the intensity of eddy 
motion in this stream (Iudin, 1950). 

I t  should be noted that such an effect is observed only for a permeable 
forest belt, through which the air stream passes relatively freely. A dense 
impermeable forest belt acts on the air stream in quite a different way. 
Behind such a belt is created a relatively small zone of calm, and then the 
wind speed rapidly increases and approaches conditions of the wind regime 
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on the open steppe. In this case, no reduction of the size of eddies in the 
surface layer is observed. 

These phenomena are explained by the fact that when the air flow 
approaches an impermeable forest belt, the air stream rises slightly, skims 
over it, then sinks at once and comes approximately into its initial state. 

Reduction of the intensity of eddy motion in the lower layer of air on 
fields between the belts has great practical significance. Results of available 
investigations show that the eddy motion immediately affects the develop- 
ment of two meteorological phenomena-the blowing away of snow, and 
the formation of dust storms. 

The reduction of turbulent exchange near the earth's surface eliminates or 
weakens dust storms and contributes to preservation of the snow supply on 
the agricultural fields between belts. 

The reduction of turbulent exchange also has great importance for main- 
tenance of the water supply in the soil during the warm season of the year. 
The value of potential evaporation together with other meteorological 
factors depends on the intensity of turbulent exchange in the surface layer 
of air. 

All this is indicative of the necessity for quantitative evaluation of the 
forest-belt effect on turbulent exchange, to determine the hydrometeorological 
efficiency of various constructions of shelter belts. 

This task is associated with significant difficulties. Because of change in 
the structure of turbulent eddies on fields between shelter belts, application 
of ordinary methods for determination of the exchange coefficient, based on 
a generalization of Prandtl's theory, turns out in this case to be impossible. 
Attempts to use various indirect methods (consideration of changes in wind 
velocity, and so on) for evaluation of the changes in the exchange coefficient 
between the forest belts do not yield satisfactory results. 

To consider the effect of forest belts on the intensity of turbulent exchange, 
it is possible to use the method offered by M. I. Iudin and the author, 
which is based on analysis of the heat-balance components (Budyko et al., 
1952). We will give a brief account of its content. 

From the equation of turbulent diffusion for water vapor, given in Chapter 
11, we can derive the following formula for the evaporation rate E :  

where q1 and q2 are the specific humidities at  levels z1 and z2 .  
For the turbulent heat flux P, we can write the formula 

(10.4) 

P = pcPD(Tw - T) .  (10.5) 
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In addition, for the sensible-heat flux a relationship similar to Eq. (10.4) 
can be used: 

where Tl and Tz are the temperatures at levels z1 and zz . 
From the above formulas, we derive the relationship 

(10.6) 

(10.7) 

With the use of Eq. (10.7), one can determine the value of the integral 
coefficient of diffusion D by measuring evaporation, temperature and humid- 
ity differences at two levels, and the difference between the temperatures of 
the underlying surface and the air. 

Application of Eq. (10.7) is possible for conditions at some distance from 
the forest belt, since immediately behind the belt the vertical fluxes of heat 
and moisture change considerably with height, so that Eqs. (10.4-10.6) 
cannot be satisfied. Experimental data show that the thickness of a quasi- 
stationary sublayer, within which the relative change of fluxes along the 
vertical is small, increases with distance from the belt. In this situation, the 
thickness of the sublayer equals to & of the distance from the forest 
belt. It is obvious that measurements of the vertical gradients of temperature 
and humidity on a field between shelter belts must be taken with considera- 
tion of this regularity. 

When studying the meteorological effectiveness of forest belts, investi- 
gators usually carry out comparative observations on a sheltered field and in 
open terrain. The problem is put as one of determining the ratio D“/D,  where 
D“ is the integral coefficient of diffusion between the belts, and D is the 
coefficient in open terrain. 

This ratio can be determined by the formula 

D“ E”(q1 - qZ)(Tl” - Tz”)(Tw - T )  _ -  - 
D E(q,” - q2”)(T1 - Tz)(Tw” - T”)’ 

(10.8) 

where the values with two primes relate to meteorological elements on the 
field between shelter belts. 

To calculate the average changes in turbulent exchange for a long interval 
of time, it is possible to use another approximate method based on applica- 
tion of the equations of heat balance. These equations can be put in the 
following form : 

( 1  0.9) 
Ro - 48aT3(TW - T )  = LE + pcPD(Tw - T )  + A,  

Ro“ - ~ ~ u T ” ~ ( T , ”  - T”)  = LE“ + pcPD”(Tw” - T“)  + A”. 
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For a sufficiently long interval of time, the differences Ro - RON, L(E - E"), 
and A - A" are usually small as compared to the components pc,D(T, - T )  
and pc,D"(T," - T"). If we subtract one equation from the other and neglect 
small differences, we obtain the relationship 

T," - T" 
_ -  D" - T,  - T --[1- 4&T3 
D T," - T" PCPD 

( 10.10) 

The second term of the right-hand side of this equation is usually far 
smaller than the first, which permits us to replace the coefficient 4SaT3/pc,D 
by its mean, which, for daytime conditions in the warm season, is approxi- 
mately equal to $. 

In this case, the last formula can be used in the form 

D" 5 T,  - T 1 
D 4 T," - T" 4 
_ -  _ -  - -. (10.11) 

Equations (10.8), (lO.lO), and (10.11) have been applied to a series of 
calculations of the meteorological effectiveness of forest belts of different 
constructions. The results of these computations corroborate the conclusion 
that the permeability of a forest belt has great significance for ensuring a 
sizable decline of the intensity of turbulent exchange. 

At the same time, the quantitative data on decrease of the integral coeffi- 
cient of diffusion D on fields between belts that have resulted from these 
computations permit the calculation of the effect of field-protecting forest 
belts on potential evaporation. For this purpose, the combination method 
for determining potential evaporation was used, based on consideration of 
data on the heat balance at  the earth's surface set forth in Chapter VI. 

The principal formulas of this method have the form 

Eo = PD(qs - 41, 
Ro - 4SaT3(TW - T )  = LpD(qs - 4) + pc,D(TW - T )  (10.12) 

We would remind the reader that, using the known physical dependence 
between T, and q., one can derive the value of qs from the last equation, 
and then by the first equation find the potential evaporation (potentially 
possible evaporation from an abundantly moist surface under the given 
meteorological conditions). 

In this case, the value of potential evaporation turns out to be a function 
of four basic meteorological factors, namely, radiation balance (calculated 
from the air temperature) Ro , air temperature T, humidity q, and the integral 
coefficient of turbulent diffusion D. With the use of Eq. (10.12), the character 
of the relations connecting the value of potential evaporation with the listed 
factors can be easily investigated. 
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Among these four basic factors (R,, , T, q, D) that affect potential evapora- 
tion in the design of the system of field-protecting forest belts, three (radia- 
tion balance calculated from the air temperature, the temperature and 
humidity of the air) change comparatively little, but the fourth factor (the 
integral coefficient of turbulent diffusion) changes rather markedly. 

Therefore, to clarify the question of the effect of field-protecting forest 
belts on evaporation, it is necessary to establish the dependence of potential 
evaporation on the exchange coefficient in the surface layer of air. 

The dependence of potential evaporation on the coefficient D, calculated 
by Eqs. (10.12) for the average conditions of spring, summer, and autumn 
in the central Ukraine and the North Caucasus, is shown in Fig. 133. It should 

ii / Summer 

0 l!!z 0.5 - 
1.0 1.5 2.0 

D (cm s e d  D (cm s e 2 )  

Fig. 133 Dependence of potential evaporation on the integral coefficient of diffusion. 
a-central Ukraine, &North Caucasus. 

be noted that, as can be seen from the data of this graph, over a broad range 
of changes in the value of D, the magnitude (l/Eo)(aEo/aD) varies compara- 
tively little in different seasons. Hence, it can be inferred that under rather 
diverse conditions with different absolute magnitudes of D, the effect of a 
given decrease in the exchange coefficient on the relative decline of potential 
evaporation will be more or less identical: about 10% with a decrease of D 
by 0.1 cm sec-l (slightly more in autumn and slightly less in spring and 
summer). 

Thus, if forest belts reduce the exchange coefficient in the surface air layer 
by 20%, then for the most probable mean values of the coefficient D, the 
expected decrease in potential evaporation will be of the order of 10%. 

Such calculations of the decrease in potential evaporation resulting from 
the action of field-protecting forest plantations have been used both to 
evaluate the meteorological effectiveness of forest belts of different con- 
struction and to determine the effect of forest belts on irrigation requirements 
of irrigated interbelt fields. 
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Besides the decline in potential evaporation, field-protecting forest belts 
promote an increase of the snow storage on the fields and a certain increase 
in the amount of precipitation. The effect of all these factors leads to a con- 
siderable increase of soil moisture on protected fields. 

For a quantitative calculation of the change in soil moisture in fields among 
shelter belts, it is possible to use the method of simultaneous analysis of 
water and heat balances at the earth’s surface, set forth in Chapter I1 of this 
book. Examples of this calculation for several regions with insufficient 
moisture are given in a series of papers (Budyko, 1956; and others). 

These calculations show that the greatest effect on the regime of soil moist- 
ure and on average conditions of evaporation in fields in a system of forest 
belts comes from changes in run-off and the integral coefficient of diffusion. 

It has already been noted that numerous observations have proved that 
the run-off of melt-water from snow from a field with protecting forest belts 
is noticeably decreased. The decrease is to a great extent explicable by changes 
in the conditions of snow-cover distribution on protected fields, as compared 
with unprotected ones. This means that on the fields contained in the forest- 
belt system, the decrease of wind speed and turbulent exchange in the surface 
air layer creates conditions for a comparatively even distribution of snow 
cover, while on open fields, a considerable portion of the snow is piled into 
ravines or other hollows in the relief, and after melting is essentially lost as 
run-off. In addition, the high infiltration capacity of soil under the forest 
belts ensures a somewhat greater retention of melt-water on the fields in the 
system of shelter belts, as compared to fields in the open. This also reduces 
spring run-off of snow melt-water under conditions of shelter-belt culture. 

It was pointed out above that the integral coefficient of diffusion in the 
surface layer of air on interbelt fields is usually less than it is on open terrain. 
This circumstance affects potential evaporation and evaporation noticeably. 

A certain influence on the moisture balance of the soil in shelter-belt net- 
works can also arise from a change in the quantity of precipitation, caused 
by a change in vertical velocity in the atmosphere above the shelter belts, and 
from a change in evaporation. 

For estimating the overall influence of changes in the hydrometeorological 
factors being discussed upon the soil-water balance, it is possible to make use 
of the equations of the heat and water balances, considering the values of 
the integral coefficient of diffusion, run-off, and rainfall corresponding to 
shelter-belt conditions. 

The calculations performed by means of such methods show that on fields 
protected by forest belts, the soil moisture increases considerably and so does 
evaporation (though slightly). In this case, the increase of soil moisture has a 
different character in different seasons, in accordance with the conditions of 
changes in turbulent exchange, run-off, and precipitation. 
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If, in addition to considerable retention of melt-water run-off, the shelter- 
belt system sharply reduces turbulent exchange in summer and simultan- 
eously increases precipitation, then soil moisture increases not only at  the 
beginning of the growing season but also during its second half. 

If (as is often the case) the effect of forest belts is expressed essentially in 
an increase of snow storage and a reduction of spring run-off (“the winter 
effect”), then soil moisture increases only in spring and at  the beginning of 
summer. 

The increase in the quantity of available soil moisture obtained under these 
conditions may attain the order of 20-40’7, of the quantity of moisture on 
fields unprotected by forest belts, other conditions being identical. 

These conclusions are well confirmed by observational data from the 
regions with well-developed forest belts of permeable structure. 

A considerable increase in the amount of free moisture in the soil and a 
slight increase in total evaporation can substantially raise the yield of agri- 
cultural crops under average climatic conditions. The increase of yield is 
determined by the increase in the productivity of plant transpiration (which 
is also promoted by a decrease in exchange and in wind speed in the surface air 
layer). Besides, as soil moisture becomes higher, the ratio of the amount of 
water expended in transpiration to total evaporation increases appreciably, 
which with the increase of total evaporation also raises the yield of agri- 
cultural crops. 

Thus, application of shelter-belt forest culture can ensure a considerable 
change in the water balance of the soil and noticeably raise yield, which, as is 
well known, is confirmed by the material of numerous experimental works. 

Along with the effect that they have on soil-water balance, forest belts 
play a large role in weakening dust storms that in individual years badly 
damage the soil cover of arid regions. The significance of forest belts as a 
factor of protection from dust storms became apparent in the winter of 1968- 
1969, when a number of severe dust storms took place in the southern part of 
the European USSR. An examination was undertaken, and showed that 
damage to winter wheat on fields protected by forest belts was a fraction of 
that on fields without forest belts. 

Forest belts are also used in regions of sufficient moisture, where they 
simultaneously reduce turbulent mixing and raise the mean temperature of 
the earth’s surface in the warm season. Under such conditions, forest belts 
produce a favorable effect on the development of heat-loving crops and 
accelerate the dates of harvest of many agricultural plants (Gol’tsberg, 1952). 

Not dwelling on other ways of changing the hydrometeorological regime 
by means of controlling the vegetation cover, we will only note that man’s 
effect on vegetation cover is a factor allowing him to improve, within certain 
limits, the climatic conditions in the surface layer of air. 
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Undirected changes in climate 
Along with such measures as irrigation and field-protecting forest belts 

that are undertaken in order to change the hydrometeorological regime, a 
constantly growing influence on climate is produced by other aspects of 
human activity, whose action on climatic conditions is a side effect and a 
sometimes undesirable result of solving certain questions of production. 

One of the consequences of the rapid development in technology and 
energetics during recent decades has been a progressive fouling of the atmos- 
phere. 

A multitude of different admixtures gets into the air in the ejected waste of 
industrial enterprises, including gaseous admixtures (carbon dioxide, sulfur 
dioxide, carbon monoxide), solid particles (soot, dust), and other components. 
During recent decades, the amount of dust received in the atmosphere from 
agricultural fields has also increased, especially in regions of arid climate, 
where expansion of cultivated lands is accompanied by intensification of wind 
erosion. 

The enormous influence of human activity on the level of air pollution in 
many industrial and some agricultural regions is universally known. Less 
clear is the question to what extent this has a planetary character, that is, to 
what extent man’s activity has changed the properties of the earth’s atmos- 
phere as a whole. Some data indicate that atmospheric pollution has already 
spread over extensive areas and can be considered a factor affecting large- 
scale atmospheric processes. Thus, in particular, it is highly probable that, 
as was pointed out in Chapter V, the phenomenon of the reduction in 
atmospheric transparency over recent decades is in some way associated with 
man’s activity. 

The effect of air pollution on climatic conditions has many forms. Well 
known are the phenomena of a severe reduction of visibility in regions with 
a high degree of pollution, which is often associated with the development 
of specific forms of fog (“smog” in Los Angeles and other places). Simul- 
taneously with the reduction of visibility appears a reduction in the amount 
of short-wave radiation reaching the earth’s surface, and light also. 

Atmospheric pollution promoting the condensation of water vapor can 
presumably increase cloudiness and contribute to atmospheric precipitation. 

The question of the effect of man-made atmospheric pollution on the 
thermal regime is rather complicated. Change in the fluxes of short-wave and 
long-wave radiation in dusty air depends on the dimensions of the dust, its 
concentration, and its distribution along the vertical. As a result, the effect 
of dust on the radiation regime and thermal conditions may vary under 
different conditions. Nevertheless, as can be seen from the data in Chapter V, 
the tendency for mean temperature near the earth’s surface to decrease with 
an increase of atmospheric dust content presumably prevails. The physical 
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mechanism of this phenomenon has been studied for the most part for fine 
dust located in the lower layers of the stratosphere. The effect on the thermal 
regime of coarser dust, which does not ascend above the lower layers of the 
troposphere, has as yet been insufficiently studied. The question of the effect 
of increasing the carbon-dioxide concentration in the atmosphere on the 
thermal regime is also not fully clarified. 

Although under natural conditions the atmosphere contains a compara- 
tively small amount of carbon dioxide (about 0.03% by volume), this gas plays 
a well-known role in absorption of long-wave radiation and maintenance of 
the “greenhouse” effect that raises the temperature at  the earth’s surface. 

Considering that the increase of carbon dioxide in the atmosphere may 
change the thermal regime, we should estimate the extent to which the carbon- 
dioxide content in the air has increased as a result of human activity. 

I t  is known that as a result of consumption of coal alone, about 5 x lo9 
tons of carbon dioxide enter the atmosphere every year. To this quantity is 
added the income of carbon dioxide from consumption of other forms of 
fuel and various industrial processes. 

If all the carbon dioxide received as a result of human activity were 
retained in the atmosphere, a rapid growth of its concentration would have 
taken place. However, because of the constant exchange of carbon dioxide 
between the atmosphere and the ocean (which is capable of absorbing an 
enormous quantity of carbon dioxide), it is difficult to estimate how much 
the additional amount of carbon dioxide created by man influences its 
content in the atmosphere. 

Although available data on this question are contradictory, many authors 
tend to think that beginning with the end of the 19th century, the amount of 
carbon dioxide in the atmosphere has increased by 10-1 5’7,. 

Such a change in the carbon dioxide content is probably insufficient for 
any noticeable rise in temperature at  the earth’s surface. The opinion of several 
authors that the observed growth of carbon dioxide content may substantially 
affect the thermal regime is based on calculations in which the effect of carbon 
dioxide on absorption of long-wave radiation was estimated apart from the 
effect of water vapor on this process. Simultaneous consideration of both 
factors has shown (Kondrat’ev and Niilisk, 1963; and elsewhere), that the 
observed change in carbon-dioxide concentration might change the tem- 
perature by a comparatively small value, the evaluations of which by different 
authors are slightly at  variance. 

Among other consequences of man’s activity that affect climate, we must 
mention the growth in energy production. All the energy consumed by man 
is eventually converted into heat, the basic part of this heat being an addi- 
tional energy source for the earth, which contributes to a rise in its tem- 
perature. 
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Among all the significant components of contemporary energy consump- 
tion by man, only hydropower and the energy contained in wood and prod- 
ucts of agriculture represent the transformation of solar radiation energy 
annually absorbed by the earth. The expenditure of such forms of energy 
does not change the heat balance of the earth and does not lead to additional 
heating of it. 

However, these forms of energy constitute a small part (less than 20%) of 
the whole sum of energy converted by man. Other forms of energy, such as 
the energy of coal, oil, natural gas, and also atomic energy, are new sources 
of heat, independent of the transformation of the energy of solar radiation 
of the contemporary epoch. 

In the author's papers (Budyko, 1962; and others), evaluations of the 
amount of heat resulting from man's economic activity have been presented. 
For the unit area of the earth's surface as a whole, this amount is small and 
approximately equals 0.01 kcal cm-2 yr-l. For the most developed industrial 
regions, this value is two orders greater, that is, it reaches 1-2 kcal cmW2 yr-l  
over areas of tens and hundreds of thousands of square kilometers. In areas 
of large cities (tens of square kilometers), this value can increase by one 
more order, up to 10-20 kcal cm-2 yr-l. 

I t  can be calculated how this additional heat production affects the mean 
temperature of the earth. 

I t  was pointed out above that change in the income of energy received by 
the earth from the sun by 1 % changes the mean temperature near its surface 
by 1.5". On the assumption that heat production resulting from present human 
activity is approximately equal to 0.006% of the entire amount of radiation 
absorbed by the earth-atmosphere system, we find the rise in temperature 
corresponding to this amount of heat being equal to 0.01'. This value is 
comparatively insignificant, but with the marked heterogeneity in location 
of heat sources created by man at  the earth's surface, such a rise in tem- 
perature may be considerably greater in some regions. 

In the absence of atmospheric circulation, the temperature in the most 
developed industrial regions would have increased by a value having the 
order of lo, and in large cities by 10" and more, which presumably would have 
made life impossible there. The effect of atmospheric circulation weakens 
these rises in temperature considerably, this weakening being greater, the 
smaller the area in which the production of additional heat energy is con- 
centrated. 

The available observational data show that the mean air temperature in 
large cities is usually 1-2" higher than in the vicinity. Such a temperature 
difference may depend on several reasons. Thus, for example, in cities the 
albedo of the earth's surface is usually less as compared with the country. 
The heat outgo for evaporation in towns is also lower, since evaporation from 
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pavements and roofs of buildings during rainless periods is insignificant. 
Although both factors contribute to raising the air temperature, it can be 
thought that the production of additional heat is in many cases a no less 
important cause of the heating of the air in large cities. 

It can be seen from the data presented here that climatic change appearing 
as a side-effect of economic activity is small and, with the exception of 
atmospheric pollution, still has no important effect on natural conditions. 
However, this change is rapidly intensifying, which makes it very important 
for an evaluation of future climatic conditions. 

2. The Climate of the Future 

In Chapter V of this book was discussed the question of changes in past 
climate produced by natural causes. In discussing future climatic conditions, 
one should consider both the natural tendencies of climatic fluctuations and 
the effect of man’s activity on climate. 

Let us dwell first on those peculiarities of the future climate that are 
associated with the action of natural factors. As can be seen from the data in 
Chapter V, climatic conditions are markedly affected by the content of dust 
in the troposphere and lower layers of the stratosphere. 

The present (beginning of the 1970s) amount of dust in the atmosphere is 
comparatively large, which explains a noticeable decrease of the value of 
direct radiation incident on the earth’s surface. Taking into account the fact 
that dust located in the stratosphere falls relatively slowly, and considering the 
effect of thermal inertia of the earth, one can believe that the present negative 
anomaly of the earth’s temperature will remain during the near future. 

Further changes in climatic conditions will depend essentially on the level 
of volcanic activity. A long intensification of volcanism will result in a general 
cooling trend and advance of glaciers, and an abatement of volcanism in a 
warming trend and retreat of glaciers. 

To work out forecasts of expected changes in climatic regime, it would be 
necessary to have more detailed information concerning volcanic eruptions, 
the dust regime of the atmosphere, and the regime of solar radiation. The 
study of such material may contribute to revealing the regularities of changes 
in volcanic activity, which will be very important for prediction of the expected 
fluctuations in the climatic regime. 

It  should be considered that for time intervals up to several centuries, the 
natural fluctuations of climate cannot substantially change the meteoro- 
logical regime of our planet. Taking into account the thermal inertia of 
oceans, and considering the material on the history of climate in the last 
millennia, we have to infer that over a duration of several centuries, noticeable 
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fluctuations of climate can occur only in high latitudes, which are sensitive 
indicators for small changes in climate-forming factors. 

Greater changes in climate may take place in the course of several millennia 
or tens of millennia, which is enough for the appearance and disappearance 
of large-scale glaciations of planetary significance. 

On the assumption that with successive changes of radiation the develop- 
ment of glaciations comparable with the greatest Quaternary glaciation 
is possible, we cannot exclude the possibility that one of the successive 
glaciations would reach the critical latitude beyond which complete glacia- 
tion of the earth may occur (Budyko, 1968). Such a possibility was pre- 
sumably close during the epoch of the greatest (Riss) glaciation, when 
the mean temperature of the earth's surface and the location of the ice cover 
corresponded to the points plotted on lines T, and C0 in Fig. 91 (Chapter V). 

I t  is seen from this figure that under these conditions, the ice cover passed 
about 75% of the way from the present ice boundary to the critical latitude. 

To estimate the probability of a complete glaciation of the earth, one must 
take into account the principal cause that accounted for the specific climatic 
conditions of the Quaternary period, that is, change of the meridional heat- 
exchange conditions in the oceans. Using the paleogeographical maps by 
Saks (1960) and other authors, it is possible to calculate that at the end of the 
Jurassic period, the oceans occupied almost half of the parallel of latitude 
70" N, which ensured free circulation of sea water between middle and polar 
latitudes. At the beginning of the Cretaceous period, a gradual expansion of 
the area occupied by continents in this latitude began, and has continued up 
to now, as a consequence of which the present-day continents cover five- 
sixths of this parallel of latitude. Thus, the widths of the straits connecting the 
seas of middle and high latitudes in the Northern Hemisphere have become 
one third of their former size. 

Correspondingly, a considerable diminution of the meridional heat transfer 
by marine currents into polar latitudes has occurred, and formed a prerequis- 
ite for the development of Arctic glaciation. 

There is no reason to suggest that the tendency of the growing isolation 
of the North Polar basin, which already existed many millions of years ago, 
will cease in the near future. Continuation of this tendency means that in the 
future, the probability of new advances of glaciers and the possibility that 
they will reach the critical latitude will increase. Taking this into considera- 
tion, it can be thought that in the latest stage of the history of the earth, 
there exist two types of stable climatic regime of our planet. The first implies 
comparatively high temperatures both in low and high latitudes, with a small 
meridional gradient of temperature and absence of polar glaciations. Such a 
regime existed throughout the entire Mesozoic era and Tertiary period, that 
is, for no less than 200 million years. The other type of stable climate relates 
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to the case of complete glaciation of the earth, with extremely low temperatures 
in all latitudes. This type of climatic regime is presumably much more stable 
than the first, and its appearance would probably be the end of the long 
evolution of climates on our planet. 

Intermediate types of climate with glaciations covering a considerable 
part of the earth’s surface cannot be stable. This is confirmed by the data of 
calculations in Chapter V, and also by the history of the climate of the Quater- 
nary period, when abrupt fluctuations of meteorological conditions took 
place, associated with the pulsations of glaciations. 

The question about the stability of the most ancient Paleozoic and pre- 
Paleozoic glaciations is difficult to discuss, because the location of these 
glaciations in relation to the poles of the earth is not clear and there is not 
enough information about the composition of the atmosphere in such a 
remote time. 

As far as Quaternary glaciations are concerned, the material set forth in 
this book enables us to suggest that the Pleistocene was a comparatively 
short period of transition from the first stable type of climate, which had 
been observed over hundreds of millions of years, to the second stable type, 
which will continue to exist for a long time. (We do not deal here with the 
possibility that the second climatic regime may change in response to the 
evolution of the sun, whose luminosity may become noticeably higher over 
billions of years.) 

Thus, evolution of the climate of the earth may result in its complete 
glaciation within a time that will be very short compared with the long history 
of our planet. 

I t  should, however, be pointed out that the effect of human activity on 
climatic conditions makes such a possibility hardly probable. 

Among the various ways in which man affects climate, discussed in the 
previous section, the growth of energy production leading to additional 
warming of the earth is especially important. 

It has already been noted (Budyko, 1962) that maintenance of the present 
tempo of increase in energy production for one or two centuries is sufficient 
for a radical change of climatic conditions all over the planet. 

Available statistical data show [refer to “ MHPOBOC npoH3BOACTBO 
aToMHoG 3 ~ e p r ~ 1 1  (World Production of Atomic Energy),” 1958, and 
other sources], that the world energy production over recent decades increases 
by approximately 5 7 ,  per year. Thus, energy production increases by one 
order in a time period of less than 50 years. 

Taking this estimate into account and considering the current quantity of 
additional heat income, as was given in the previous section, we find that in 
a century, warming of the earth as a result of human activity will amount to 
1 kcal cm-2 yr-l. In two centuries, it will exceed 100 kcal cm-2 yr-l, that is, 
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it will be comparable to the income of energy received by the earth from the 
sun. 

In discussing the validity of these estimates, the existence of resources for 
so great a production of energy and the needs of future society in terms of 
energy consumption should be taken into consideration. 

It is easy to demonstrate that such traditional energy sources as coal, oil, 
and gas cannot ensure an increase of energy production by several orders as 
compared to the present level, since in such circumstances they would soon 
be exhausted. However, specialists in the field of atomic energy consider it 
probable that in the next decades, highly powerful energy installations using 
nuclear reactions will be created. Utilization of such devices can lead to a 
several-fold increase in the tempo of growth of energy production. 

The question of the energy needs of future society can be discussed with 
more or less certainty only in respect to the minimal dimensions of these 
needs. Presumably, they cannot be less than the level of consumption for a 
unit-area of the earth's surface that has now been attained in the most de- 
veloped countries. As was noted above, this level corresponds to an additional 
income of heat of the order of 1-2 kcal cm-2 yr-l, about 1% of the solar 
radiation absorbed by the earth. With contemporary rates of growth in 
energy production, such an income of heat would be attained in approxi- 
mately a century, and in the case of significant progress in the development of 
atomic energy, it would probably be still sooner. 

If polar ice is stable, the effect of this additional heat income on climate 
would be limited to a rise in the mean air temperature near the earth's 
surface by 1-2". But because of the instability of the polar ice (see Chapters 
IV and V), the additional income of heat will cause much more significant 
changes in climatic conditions. 

Using the method set forth in Chapters IV and V, we can compute the 
distribution of the mean latitudinal air temperature near the earth's surface 
for an increase of income of heat energy by 1 

The results of this calculation are presented in Fig. 134, where curve To 
is the temperature distribution in the Northern Hemisphere observed in the 
contemporary epoch. Curve Tg corresponds to the temperature distribution 
found by the above-mentioned model for the case of complete glaciation of 
the earth, when the albedo of the earth-atmosphere system in all latitudes 
equals 0.80. It is apparent that in this case, the mean air temperature near 
the earth's surface turns out approximately equal to -70". It  should be 
indicated that this temperature is slightly higher than that of an earth covered 
by ice with an entirely transparent atmosphere, an evaluation of which is 
given in Chapter IV. Curves TI and T2 in Fig. 134 characterize the tempera- 
ture distribution with an increase of energy income by 1 %, the second curve 
relating to conditions of preservation of the Antarctic ice cap and the first 
to the case of its disappearance. 

over present conditions. 
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As follows from this calculation, an increase of 1% in the income of heat 
energy is sufficient for melting the ice covers surrounding both poles. How- 
ever, while the principal portion of the Arctic ice cover (sea ice) can melt 
away in a short period of time in a warming trend, the main part of the 
Antarctic ice cap, representing a massive terrestrial glaciation, would be 
destroyed over the course of many years. For this reason, along with the 
temperature distribution for the stable ice-free regime (curve Tl), this distri- 
bution is of interest for intermediate conditions, when, after melting of the 
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F&. I34 Latitudinal distributions of temperature in the Northern Hemisphere. 

Arctic ice, the Antarctic ice still remains (curve Tz). As seen from this figure, 
the present thermal regime of the globe occupies an intermediate place 
between two regimes, the first of which is characterized by curve T, and the 
second by curves Tl and T2. 

The first of these regimes can arise in the course of natural climatic evolu- 
tion, while the second appears as a result of further progress by human 
society in the relatively near future. 

It can be thought that the thermal regime characterized by curve Tl (as 
well as the similar one corresponding to curve T2) resembles the temperature 
distribution that was observed in the Northern Hemisphere at the end of the 
Tertiary period. 
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Under these conditions, as compared to the present climatic regime, air 
temperatures in the Arctic will be sharply raised, especially in winter. A 
smaller but still considerable warming trend extends over the middle latitudes. 

It should be borne in mind that with a transition from regime To to regime 
T2 in a general warming trend, other changes in climate will also take place, 
including a redistribution of the amount of precipitation in a number of 
regions. 

Some evaluations of the conditions of water circulation made by Drozdov 
(1966) show that with a significant warming trend in high latitudes, the amount 
of precipitation grows in some coastal regions, but in many interior continental 
areas it decreases. In consequence, moisture conditions over extensive areas 
will change. Thus, for example, the subtropical arid zone will probably shift 
to higher latitudes. 

After the disappearance of sea ice, melting of the Greenland glacier will 
begin. Although the process of destruction of this ice cap will be long, it will 
inevitably result in a certain rise in the level of the world ocean and in flooding 
of the lowest coastal regions. A similar process will take place in the Antarctic, 
where the melting of the ice cap will result in a still greater rise in the level of 
the world ocean. 

Thus, as a result, changes in the hydrometeorological regime will occur, 
which will be partly beneficial and partly harmful for the activity of man. 

The massive character of these changes demands detailed study and con- 
sideration in planning the development of energy in the next century. 

It is highly probable that long before the climatic change caused by the 
general progress of energy development occurs, it will be possible to carry 
out some projects aimed at  an active impact on climate. In the existing litera- 
ture, a number of such projects associated with the task of changing climate 
on areas of different scales are discussed. 

One of the biggest projects for acting on climate has as its objective the 
destruction of the Arctic ice, in order to increase temperatures in high 
latitudes. In contrast to the aforementioned case, in which the ice is destroyed 
as a result of additional heating of the planet as a whole, the authors of this 
project suggest that the polar ice be destroyed under present climatic con- 
ditions, on the assumption that it either would not be restored after a single 
destruction or that its renewal could be warded off by use of available 
technology. 

In considering this question, several research investigations on the inter- 
relations between the regime of polar ice and general climatic conditions were 
carried out, and their materials set forth in Chapter IV of this book. 

The results of this research do not exclude the possibility that an ice-free 
regime could be maintained after a destruction of the polar ice, but to all 
appearances indicate the great instability of such a regime. 
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It  might be indicated that the question of actual measures of destroying 
polar ice has been insufficiently analyzed. In the work of the author (Budyko, 
1962), some calculations were carried out, showing that sea ice in the Arctic 
can melt away in a few years, provided that cloudiness in the northern part 
of the Atlantic Ocean diminishes and the rate of evaporation from the ocean 
surface in this region decreases. It is evident that although there exist methods 
for acting on clouds and on evaporation from the surfaces of water bodies, 
the possibility of exerting such action on vast spaces appears utterly hypo- 
thetical. Borisov (1962) considers that polar ice can be melted by con- 
structing a dam in the Bering Straits and building a powerful system for 
pumping water from the Bering Sea into the Arctic Ocean. The paper of 
Fletcher (1966) indicates a possibility that polar ice can be destroyed by the 
use of atomic energy. 

As pointed out above, the effect of the disappearance of polar ice on 
climate would be complex and furthermore not in all respects favorable for 
human activity. Therefore, it is by no means evident that with the possibility 
of ice destruction such a measure is a suitable one to take in the near future. 

It is probable that with further development of energetics it will be necessary 
to work out methods, not for the destruction of polar ice, but for its tem- 
porary or long-term preservation. Such methods might be associated with 
limited consumption of energy in high latitudes or with maintenance of a 
certain level of dust in the atmosphere. 

Taking into account the far-reaching character of the possible effect of 
destruction of polar ice, it should be considered that the problem of the 
influence of human activity upon this ice requires detailed study. 

Among other ways of acting upon climatic conditions, the possibility of 
changing atmospheric motion on a large scale, considered in the paper of 
Iudin (1966), is worthy of attention. It is known that up to now, it has been 
considered that the motion of air masses is associated with such great expendi- 
tures of energy that, at  present, man’s action upon them cannot yield any 
results. Iudin pointed out that in many cases, atmospheric motion is unstable, 
which makes it possible to act upon it at relatively small energy costs. In this 
regard, he considered the question of change in intensity of a low-level 
cyclone by means of a system of vertical air jets produced by special devices 
situated in the area of cyclone formation. It follows from Iudin’s calculations 
that there is, in principle, the possibility of such modification at  the present 
level of energetics, though the technical means for the action were described 
by the author in the most general terms. 

In some investigations, a project is discussed for local action upon climate 
by means of constructing broad asphalted belts to increase the amount 
of radiation absorbed by the earth’s surface and reduce the conversion of heat 
for evaporation. The resulting heating of the earth’s surface will become 
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much more intense, which may lead to the development of thermal convection 
and increase of the amount of precipitation. Another project of this kind 
involves the restoration of vegetation cover in certain arid regions, where it 
had been once destroyed by man. It  is postulated that this measure will 
reduce the amount of dust in the air of these regions and increase the amount 
of precipitation (Weather and Climate Modification, 1966). 

Widely known projects of climate modification are now in the stage of 
analysis and have not yet been realized on a large scale. This distinguishes 
them from projects of weather modification, which in some cases have already 
made the transition from investigation stage to that of practical application. 

We do not dwell here on the problem of weather modification. During 
recent years, some considerable results have been achieved in this field. Thus, 
in particular, in the southern regions of the Soviet Union the system of 
preventing damage by hail by means of dissipating special agents in clouds 
works successfully. In many countries, large-scale measures are taken to 
protect plants from frost. 

Such methods for modification of atmospheric processes are limited to the 
brief periods of appearance of dangerous phenomena, and do not deal with 
large-scale processes forming climate on extensive areas. Nevertheless, the 
experience of work on weather modification has a certain significance for the 
support of methods for climate modification and is probably the first stage 
in solving the problem of human management of atmospheric processes. 

Fedorov (1958) pointed out that present methods for weather modification 
are essentially based on the principle of control of the most unstable atmos- 
pheric processes, whose course can be changed with the expenditure of 
relatively small quantities of energy. Fedorov noted that this principle would 
have vital significance during analysis of projects for climate modification. 
In addition, he stressed the special principle of all large-scale measures for 
climate modification. Effectuating such measures will produce a complex 
effect on many climatic elements, and it is hardly probable that all aspects of 
this effect will be favorable for human activity. Therefore, realization of any 
project of climate modification should be preceded by much research work, 
resulting in evaluation of every possible consequence of the measure to be 
taken, both in the region where it is carried out and in surrounding areas. 
Presumably, for large-scale measures, such research should be done on an 
international basis. 

Since, during the next century, climatic changes due to human activity will 
become not only possible but also inevitable, it should be considered that 
study of the possibilities of climate modification is one of the urgent tasks 
of the contemporary science of the atmosphere. 
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In this book, we have considered the interrelations between climate and 
different geographical processes developing in the outer envelope of the earth. 
Among such processes, the biological ones that have a basic effect on the 
evolution of the atmosphere, the hydrosphere, and the upper layers of the 
lithosphere occupy an important place. At the same time, the activity of living 
organisms depends in many respects on climatic conditions. 

The appearance of life on the earth turned out to be possible because of a 
definite combination of the heat regime, moisture, and the chemical com- 
position of the atmospheric air. 

Beginning from the first primitive living organisms, which evolved, adjust- 
ing themselves to the climatic conditions of their times, biological evolution 
occurred under the influence of atmospheric factors, which were one of the 
fundamental elements of the environment in which living organisms existed. 

Simultaneously, the living organisms themselves turned out to have a 
definite influence upon atmospheric conditions. Most noticeably, this effect 
appeared over long periods of time in respect to changes in the composition 
of the atmospheric air. 

The primary atmosphere, which essentially contained various compounds 
of hydrogen, was replaced at an early stage in the history of the earth by the 
secondary atmosphere, which contained oxygen. Accumulation of oxygen in 
the atmosphere, associated to a considerable degree with the activity of 
autotrophic plants, had an enormous influence on the further development 
of living organisms. One of the ways in which this influence was exerted was 
in the appearance of the ozone screen that protected the earth’s surface from 
the effect of ultraviolet radiation of the sun, which is destructive for many 
organisms. 

Changes in the concentration of carbon dioxide in the atmosphere, which 
accounted for changes in photosynthetic productivity and intensity of the 
circulation of biological matter, were very important for the dynamics of 
biological processes. It can be thought that changes in carbon-dioxide content 
in the air partially depend on the biosphere developing itself and partially 
on the course of geologic processes. Fluctuations of carbon-dioxide con- 
centration affected the thermal regime and other elements of climate. 

It must be indicated that the interrelations between living organisms and 
climate were not equally significant. The effect of biological processes on 
climate either showed itself as a result of slow changes in atmospheric com- 
position or was reduced to changes in the microclimate. Climatic conditions 
thus depended on biological factors only to a limited extent. 

As opposed to this, the existence of living organisms is possible only 
within relatively narrow limits of climatic conditions. The intensity of 
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biological processes within these limits varies substantially in dependence on 
climatic factors. As a result, comparatively small climatic changes may 
produce an enormous influence on living nature. 

In Chapters V and IX of this book, data indicative of instability in the 
earth's climate are presented. It follows from them that comparatively small 
changes in climate-forming factors may substantially alter the climate. Thus, 
in the contemporary epoch, a decrease by merely 1 in the amount of solar 
radiation absorbed by the earth is sufficient for glaciation of a great part of 
the planet. In pre-Quaternary time, when climate was more stable, abrupt 
fluctuations of the thermal regime were also possible. Taking into account the 
limited range of temperature in which active existence of living organisms is 
possible, a question can be put that earlier was considered trivial: How can 
the maintenance of climatic conditions permitting the continued existence of 
life over several billion years be explained ? 

To answer this question, we must first point to the great plasticity of living 
organisms, which, in the course of natural selection, have adapted to changes 
in environmental conditions. It should be also stressed that some groups of 
organisms were unable to endure severe climatic changes, which were a sub- 
stantial factor in the extinction of many groups of living things. 

Taking these considerations into account, we may still believe that such a 
long existence of life on our planet is a result of a favorable combination of 
external climate-forming factors, which include, in particular, the geologic 
processes that affected the form of the earth's surface and the composition of 
the atmosphere. 

Contemporary knowledge of the regularities of climatic change is insuffi- 
cient for a quantitative answer to the question about the probability that a 
meteorological regime favorable for living organisms would be maintained 
on the planet for several billion years after the time when life appeared. I t  
might be thought, however, that this probability is not very high. In this 
respect, the aforementioned possibility of a relatively near cessation of 
conditions favorable for life with the natural evolution of the earth's climate 
does not seem too paradoxical. More paradoxical is the coincidence of the 
moment when this possibility arose and the appearance of man, which resulted 
in an essential change in the interrelation between living nature and climate. 

While the influence of biological organisms on climate has so far been 
limited, in the near future, as noted in the preceding section, the climate will 
begin to be determined by the conditions of human activity. 

Although, as compared to the general history of the biosphere, man 
appeared very recently, he has already managed to modify greatly the natural 
conditions on our planet. The present form of man (Homo sapiens) sprang up, 
at  most, several tens of thousands of years ago, the age of the most ancient 
civilizations being no more than 10,000 years. The duration of the period of 
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industrial development is determined as a few centuries, and the duration of 
the period of the scientific-technical revolution now being experienced, as a 
few decades. Nevertheless, man has succeeded in the complete modification 
of many geographical processes over vast areas. 

In Chapter IX, data were presented indicative of the fact that as long ago 
as in the Paleolithic, man exterminated a number of large animals, which 
substantially modified the fauna of extensive areas. 

Later, the animal world has undergone still greater changes, which, in our 
time, embrace not only the land but also the ocean. Man has profoundly 
influenced not only the geography of animals but also that of plants, having 
destroyed the natural vegetation cover on a considerable portion of the sur- 
face of the lands and replaced it partially by agricultural plants. Cultivation 
of the earth was associated with substantial changes in the natural soil cover. 

Along with acting on biological processes, man modifies the hydrologic 
regime of the land on a still growing scale, by regulating stream flow, con- 
structing artificial reservoirs, and carrying out widespread improvement 
measures. 

Large-scale atmospheric processes have so far been less accessible to direct 
human action, because of the necessity of expending large amounts of energy 
in their transformation. However, as was pointed out in the previous section, 
human modification of climate with further progress of technology and 
energetics in the near future becomes not only possible but inevitable. Such 
action rules out the possibility of glaciation of the earth, and opens a perspec- 
tive of the long existence of the biosphere, whose climatic conditions will be 
regulated by man. 

Worth mentioning is the coincidence of the still short period of human 
activity with the critical epoch in the development of the biosphere, which is 
the Quaternary period. It has been repeatedly suggested that sudden fluctua- 
tions of climatic conditions in the Pleistocene accelerated man’s evolution 
and promoted the appearance of his contemporary form (Gerasimov, 1970; 
and others). This viewpoint permits the diminution of the role of an element 
of chance in explaining the appearance of the basic possibility of the survival 
of the biosphere into an epoch when its further existence was threatened. 

I t  should be borne in mind that for creation of a climatic regime managed 
by man, further progress of science and engineering is necessary, which would 
permit considerable increase in the present production of energy. I t  is beyond 
doubt that with peaceful development of human society, such progress will 
be realized in the near future. 
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in polar regions, 179-189,265-268,278, 

304-305 
Albedo of clouds, 1 13 
Albedo of earth-atmosphere system, 112- 

113,225, 244,470 
influence of polar ice, 265-266, 278, 304 

Albedo of human body, 389,392 
Albedo of regional surfaces, 12-14,51-57, 

Albedo of water surfaces, 56-57, 218,473 
Alps, radiation research in, 189 
Altitude effects on heat balance, 190-192, 

465 

343 
on water balance, 329 

Amazon River, flow of, 229 
Angstrom formulas for radiation, 44, 57 
Animals 

energy turnover in, 432434 ,  4 5 6 4 5 9  
heat balance of, 373-375, 385-397,445- 

radiation absorption by, 375, 396,446- 
449 

447 

4 9 2 4 9 3  
Animal species, succession of, 439461 ,  

in relation to thermal zonality, 446 
in relation to man, 45 1-46 1 

climatic regimes, 354-356 
dates of maxima, 199 
heat-balance components, 19 3-207 
potential evaporation and precipitation, 

radiation and air temperature, 298-299 
Anomalies of heat balance, 142-144, 212- 

Anomalies of air temperature, 277, 285, 293, 

Antarctic 

Annual marches, comparative analysis of 

326 

217 

299 

heat balance of, 30, 184-189, 201 
ice cover, 487, 488 

Anticyclones, subtropical, 195-196, 203- 

Aperiodic variations of heat fluxes, 142-148, 

Arabian Sea, 156, 202-203 
Arctic 

2 05 

21 2-2 17 

air temperature of, 273-277, 307, 309-311 
climatic regimes of, 354; see also Heat 

balance of Arctic, Glaciation 

ice cover in, 261-266, 292, 301, 304,487- 

ice-free, 263, 278-286, 309-311, 312, 

Assimilation of carbon dioxide, 401406 ,  

Atlantic Ocean 

489 

4 8 7 4 8 9  

4 0 9 4 1 6 , 4 2 2 4 2 4  

heat fluxes over, 167, 172-173, 201-217 
water balance of, 238 

Atlases, 29-30, 149, 184, 228, 261 
Atmosphere 

heat balance of, 22, 31-32, 111-117, 126, 

radiation balance of, 10, 12, 11 1-1 15, 
175-178,223-225 

173-175,223-225 
Atmospheric circulation, 24 7-248, 27 2-2 7 3, 

489490 ,493  
not a climate-forming factor, 292, 300; 

Atmospheric composition, 278, 294-297, 
see also Advection 

320,480-483,491 
a climate-forming factor, 292 

Atmospheric heat transport; see Advection 
Atmospheric transparency, 294-300, 443- 

effect on short-wave radiation, 6-9, 49, 
445,480-481 

50, 294-297,444,480 
Autofluctuations, 295, 300-301 
Averaging periods, 76, 80, 82-86, 91, 92, 

125 
for radiation records. 141-147 

B 

Basking, see Animals, radiation absorption 

Benguela Current, 160, 167,170,204-205 
Biological processes, 355,400-434,491-492 

thermal influences on, 371-375,416418; 

by 

see also Photosynthesis, Respiration, 
Productivity 

Biomass, 422-425,429-434,454-459;see 
also Vegetation, Animals 

Biosphere, see Energy transformations in 
the Biosphere, Vegetation, Photosyn- 
thesis, productivity, Latent-heat flux 

Boundary layer, 

Bowen ratio, 86, 106 
Brunt formula, 57 

atmospheric, 62-83,463479 
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C 
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unstable, 249-250, 281-286, 301-308, 
442449,483-490,492 

errors and norms, 118-127, 140 
general theory, 23-32, 250, 264-267, 

mapping, 27-30, 148 
models, 101,244,250, 298-301,488490; 

Climatological analysis 

4 8 8 4 9 0  

see also Heat-balance methods 

on long-wave radiation, 14,58-60, 245 
on short-wave radiation, 8, 14, 44-50, 55, 

on radiation balance, 142, 249 

Cloud effects 

246 

Condensation, 11, 21, 115-116, 175-176 
Continental drift and isolation of the North 

Polar basin, effects of, 484 
Continental mean fluxes, 220, 227 
Cooling trends, 292, 294,444-450,484- 

Cretaceous period, 441 ,445449 ,484  
Currents; see also Oceans, heat transport in 

485 

effects of, on heat balance at surface, 

in Arctic, 270-272, 279, 31 1 
160-170.203-205,220, 318 

Calculation methods for heat fluxes, 27-32, 

Calculation methods for water fluxes, 92- 

Calculation methods in climatology, 27-32, 

Carbon dioxide in atmosphere, 278, 294, 

Carbondioxide assimilation, 40  1-406, 

Carbon-dioxide flux, 402404 ,409-4  12 
Caspian Sea, 300 
Caucasus, 362, 363,477 

heat balance of, 30, 189-192 
Central Asia, 30, 189, 197, 208-210, 364 

oases in, 120 ,465467  
City climates, 4 8 0 , 4 8 2 4 8 3  
Climate, modification of, 488-493 

Climates of the past, 301-313 

42-62,75-87,106-127,209, 213-217 

104,231-234, 326-330 

148-149 

311,481,491 

4 0 9 4 1 6 , 4 2 2 4 2 4  

modification of, inadvertent, 4 8 0 4 8 3  

Quaternary, 301-308 
pre-Quaternary, 309-3 13,442-450, 

Climatic change before the Quaternary, 

Climatic change, contemporary, 144, 249- 

Climatic change in the Quaternary, 264, 

Climatic classification, 330-335, 346-349, 

Climatic effects on animals and man, 3 19- 

491-492 

309-313,442450,491492 

250,293-301,463482 

301-308 

354,356-365 

320,385-397,442-450 
on landforms, 320 
on processes at the earth’s surface, 317- 

on sils, 320, 349, 351 
on vegetation, 319,401,422-434,491- 

321 

492, see also Productivity 
geobotanic zones, 348-353 

on water fluxes, 106,228-230, 318-334, 
349 

Climatic factors; see also Heat balance 
in polar regions, 273-277 
in geographical zonality, 317-365 
in geographical processes, 3 17-321 
in photosynthesis, 4 0 0 4 3 4  

Climatic regimes, stable, 285-286, 306-307, 
354-356,484490 

D 

Daily marches, 50-56,471 
of heat fluxes, 207-212 

Dalton’s law, 104 
Desert climate, 354-364 

Desert heat balances 
microclimate, 120,464,468-469 

annual march of, 194-196 
daily march of, 208-209, 377-378,466- 

in oases, 4 6 4 4 7 0  

339 ,463466  

467 

Desert radiation balances, 120, 156, 173, 

Desert water fluxes, 346 ,463470  
Deserts, 

albedo of, 13 ,55 ,470  
potential evaporation in, 341-342 
productivity of, 4 2 7 4 2 9  
sensible-heat flux from, 167, 466-468 

Diffusion, molecular, 7 2 , 7 8 , 8 2 , 4 0 1 4 0 3  
analogy to, 62  

Diffusion, turbulent; see Turbulent diffusion 
Diurnal regimes; see Daily marches 
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Dokuchaev’s moisture index, 334, 350 
Drainage, 471-472 
Dryness, radiative index of, 322-323, 334- 

Dust in atmosphere 
335, 346-349,426-427 

effect on short-wave radiation, 6, 294-300 
man-made sources, 296,480-483 
natural sources, 296,442446,483 

Dust storms, 474,479 

E 

Earth as a planet; see Earth-atmosphere 

Earth as a whole 
system 

heat balance at surface of, 217-227, 

temperature of, 278,297-299, 311, 
243-250 

470-471,482-493 
Earth-atmosphere system 

heat balance of, 20, 175, 223-227,482, 

radiation balance of, 10-16, 112-115, 126, 

Earth-atmosphere system in the Arctic, 265, 

Earth’s surface, 19, 24, 317-321 

486 

172-174,223-227,470,483 

271-273, 283 

a climate-forming factor, 292-293; see also 
Albedo, Surface temperature, Surface 
roughness, Water surfaces, etc.; see also 
Heat balance at earth’s surface, Radia- 
tion balance at earth’s surface. 

Egypt, heat balance in, 194-195 
Elephants, biomass of, 458-459 
Energy fluxes; see Short-wave radiation, 

Latent-heat flux, Heat balance, etc. 
Energy indexes; see potential evaporation, 

Radiation balance, Air-temperature sums 
Energy transformations at the earth’s 

surface, 10-1 11, 140-227, 243-286, 

in local environments, 189-192, 464479 
in the Antarctic, 184-189,486 
in the Arctic, 178-183, 261-286,486-489 
in the U.S.S.R., 356-365 
of separate geographical zones, 3 17-365 
over the whole earth, 217-227, 243-250 
pattern over the earth, 140-227, 243-250, 

298-313,407-434,463-490 

301-3 12,3 17-365 

Energy transformation in the atmosphere, 

Energy transformations in the biosphere, 
111-117,126-127,175,223-227 

375434,425,456-479 
in animals, 395-397,439461 
under man’s influence, 408-421,453-493 

Energy transformations in the water balance 
in mountains, 189-192 
in sea ice, 261-286 
in special areas, 193-217,464-479 
over the whole earth, 217-243, 321-365, 

400-406; see also Latent-heat flux, 
Phase changes of water 

Energy turnover in the biosphere, 432-434, 
455-457; see also Heat balance, Energy 
transformation 

Equation of relationship between heat and 
water balances, 93-94, 106, 323-330, 
334; see also Radiative index of dryness 

Equatorial climate, 193-194, 223, 31 1 
Equilibrium gradient of temperature, 63-64, 

Errors in heat balance determinations, 118- 
222-223 

127, 170, 285;see also individual heat 
fluxes 

Errors in observations, 146, 227-228, 230, 

Evaporation (Evapotranspiration) as a water 
236, 331, 349-350 

flux, 22-23,88-106,227-239,464-479; 
see also Latent-heat flux 

Evaporation pans, 26, 102-103, 330-331, 

Evapotranspiration; see Latent-heat flux 
Evolution, biological, 440,448450,491 
Exchange, turbulent; see Turbulent diffusion 
Extinctions of species, 439461,492493 

341-342 

of mammals, 45 1-461 
of reptiles, 446-450 
rates, 448449,457461 

F 

Fluxes, vertical; see Carbon-dioxide flux, 

Food production, 434,455461 
Forests, biomass growth in, 363, 424-425 
Forest influence on climate, 463; see also 

Forest limit in mountains, 384 

Latent-heat flux, etc. 

Shelter belts 
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Forest zones, 348,352-358, 362-364 
Fossil energy, 431,434,482,485486 
Future, climate of the, 483-490,493 

G 

Geographical distributions; see Heat balance, 
geographical distribution of, etc. 

Geographic envelope of the earth, 16-23, 

Geographic zonality ; see Zonality, 

Geologic history, 291, 307-313,484-485, 

225-227,317-321,491 

geographical 

491-493 
critical epochs of, 439-450 

Geologic processes, 292, 306-313, 317,450, 
484,492; see also Volcanic activity, 
Glaciation 

Glaciation, 301-313,484488 
in high latitudes, 185-189,263, 291, 

in low latitudes, 3 1 1 
over whole earth, 306 ,484487 ,492  

Gradients; see Air temperature, Humidity, 

“Greenhouse” effect, 10, 226, 244, 278,481 
Gulf Stream, 160, 163, 167, 172, 205-206 

301-311,486-489 

etc. 

heat transported by, 170 

H 

Heat balance at  earth’s surface; see also 
Sensible-heat flux, Radiation balance, 
etc. 

annual march of, 193-207 
aperiodic variation of, 142-144, 212-217 
daily march of, 207-212 
determination of components, 4 1-127 

geographic distribution of, 140-192, 317- 

geographical zonality of, 330-335; see 

in Antarctic, 30, 184-189, 201 
in Arctic, 30, 178-183, 261-286, 302- 

errors in, 118-127 

365 

also Zonal patterns 

307,486-489 
research on, 10-32, 148, 221,490 
sign convention for, 17 

Heat-balance methods to investigate climatic 
processes 

climatic change, 277-286, 290-313, 
480-490 

diffusion, 68, 73 
environment of organisms, 37 1-397 
latent-heat flux, 90,95, 105, 322-332 
man’s impact on climate, 463-490 

radiation balance, 60 
sensible-heat flux, 77 
surface temperature, 336-338 
thermal regimes of Earth, 243-250, 

on local climates, 464-479 

301-308 
of Arctic, 264-286 

water balance, 93, 217-243, 321-335, 
464-479 

Heat balance of atmosphere, see 
Atmosphere, heat balance of 

Heat balance of earth-atmosphere system, 
see Earth-atmosphere system 

Heat fluxes; see Sensible-heat flux, Latent- 
heat flux, Long-wave radiation, and so 
on; see also Heat balance 

Radiation balance, Air-temperature sums 
Heat indexes; see Potential evaporation, 

Heat production, artificial, 482486 ,  493 
Heat storage, 21, 265 

in oceans, 172, 214-217, 298,318-319, 
449 

Human body, heat balance of, 385-395 
Human populations, 434,455-457,460- 

461,486 
Humidity, 15,58,68 

in oases, 468-470 
Humidity deficit, 331-332, 339-342, 344, 

406 
Humidity, vertical gradient of, 68-69, 78-79, 

86-87,90-91, 104 
over oases, 469,474-476 

Hunting of animals, 4 5 1 4 6 1  
Hydrologic regime, relation to climatic factors, 

factors, 22-23, 96-102, 227-239, 321-330, 
471473 ,477479  

1 

Ice, 
advection of, 270-276 
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area of, 261-264, 301-312,484489 
effect of, 277-286,301-313,486 
heat balance of, 180-189,265-276 

Ice and climate, interrelationship of, 264- 

Ice formation and destruction, 261, 273- 

Impact of man on climate, 463-493 
Indian Ocean, 122,202-203,238 
Integral coefficient of turbulent diffusion 

265,273-286 

276,487-489 

(D), 61,71-82,379,475-478 
determination of, 73, 78 
in human heat balance, 387-392 
in relation to wind speed, 104 
in vegetation, 379,402-415,475-477 

Interdiurnal variations, 217 
Irrigated lands, 120, 341, 378, 464-471,477 

K 

KOppen’s moisture index, 333 
Krakatoa eruption, 296 ,443444  
Kuro Shio, 160, 163, 167, 207 

heat transported by, 170 

L 

Latent-heat flux, 16-17,87-106 
annual march of, 193-207 
aperiodic variations in, 21 3-2 17 
daily march of, 208-212 

Latent-heat flux determination, 26, 87-106 
by combination method, 336-337, 344 
by diffusion method, 78, 91, 103-105 
by gradient method, 26,68,91, 101, 125 
by heat-balance method, 90, 105-106, 

by water-balance method, 22-23, 88-101, 

errorsin, 124-125, 331, 341 

drained marshes, 471-472 
managed lands, 464-479 
mountains, 192 
oases, 465-468 
reservoirs, 472-473 

322-332 

103, 125, 322-332,478 

Latent-heat flux from special surface types 

Latent-heat flux from water surfaces; see 
Oceans, evaporation from 

Latent-heat flux, geographic distribution of, 
160-163, 218, 228 

in Antarctic, 186-188 
in Arctic, 269, 275-276 

Latitudinal means; see Zonal patterns 
Leads in Arctic in Arctic ice, 269 
Leaf area, 409413,416,422-424 
Leaf heat balance, 379,401-405 
Leningrad, climatological research in, 28-30, 

Local vapor sources for rainfall, 240-243 
Long-wave radiation, 10, 14-16, 59, 114- 

Long-wave radiation, calculated, 57-62, 

Long-wave radiation, downward flux of, 15, 

Long-wave radiation, net, 10, 12, 57-62, 

geographical distribution of, 154, 180, 

Long-wave radiation, outward flux from 
Earth, 15-16, 175,226-227,272 

determination of, 113-115,244-245 
Long-wave radiation observations, 25, 58- 

Low latitudes, 300, 459 
glaciation of, 31 1-312 
heat balances in, 193-196, 201-203, 223- 

68,73,  144,208,267,377 

115 

114-1 15 

59,480-481 

465-467 

185-186 

62 

225; see also Zonal patterns 
Lysimeters, 26, 88-90 

M 

Macroturbulence, 19, 117, 172-173, 247- 

Main Geophysical Observatory (GGO) 
24 8 

expeditions, 208-209 
heat-balance mapping, 28-29, 42,149, 218 
methodological evaluations, 45, 119, 124 
theory, 59, 250,293,407,425 

biomass turnover in, 4 5 6 4 5 8  
effect of hunting, 454-461 

Mammoths, 450-461 

Man in energy transformation processes, 

Man’s effect on climate, 463490,492-493 
Marsh climate, 47 1-472 

434,453-461,463-493 
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Mass exchange in the biosphere, 317, 491; 

Measurement errors; see under individual 

Mediterranean climate, annual marches of 

Meridional heat flux, 247-249, 266, 279, 

in atmosphere, 247-249, 272, 283, 302 
in oceans, 270, 279, 311, 484;seealso 

see also Water balance 

fluxes 

heat fluxes, 197 

286,309 

Oceans, heat transport in 
Mesozoic era 

oceanic advection and polar ice in, 263, 

reptile extinction in, 441,446-450 
zonality in, 309,446 

3 1 1-3 1 3,484 

Methods for determining heat fluxes, 41- 
127; see also Latent-heat flux, etc. 

Microclimates, 120, 382,448,464-473 

Middle Asia; see Central Asia 
Mid-latitude climates, 198, 205-206, 210 
Milankovich hypothesis, 308 
Modeling climatic systems, 101, 250, 298- 

of slopes, 381-384 

301,488-490; see also Heat balance, 
Water balance 

Modification of climate; 
inadvertent, 480-483 
purposeful, 488-493 

Moisture indexes, 330-333, 426; see also 

Monsoon climates, heat balance in, 193-200, 

Mountains, heat balance in, 189-192, 343, 

Radiative index of dryness 

202-203, 206-207, 343 

384 
water balance in, 328-329 

N 

New Zealand, winter climate of, 447 
Norms, climatic, determination of, 140-148 

0 

Oases, 120, 341, 465-470 
Observations, homogeneity of, 146-147 

Oceans, 
effect on climate, 318-319;seealso 

Thermal inertia of oceans; 
Oceans, heat transport in. 

evaporation determination, 78-79, 85-87, 

evaporation regimes, 201-207,210-212 
heat balance of, 28-30,201-207,210- 

heat storage in, 172,214, 282, 319,449 
heat transport in, 11, 160, 172-173, 220, 

102-106,231, 234-236 

217, 220 

270, 279, 311,484;seealso 
Meridional heat flux 

236 
radiation balance of, 13, 122-124, 235- 

radiation regimes of, 201-207, 210-21 1 
roughness of, 79 
water balance of, 229-238,488 

Ol'dekop's moisture index, 94, 323, 331 
Organisms, heat balance of, 371-397,445- 

449; see also Vegetation, heat balance 
of, etc. 

P 

Pacific Ocean, heat balance, 167, 206-207 

Paleozoic era, 3 1 1-3 12,446 
Penman method for evaporation, 337 
Period of record of radiation observations, 

Permian period, 311,441,446 
Peru Current, 160, 167, 170 
Phase changes of water, 11, 110, 223-225, 

469-471;see also Latent-heat flux, 
Condensation, Soil freezing, Ice forma- 
tion 

water balance, 238 

141-147 

Photosynthesis, 11,400-434 
and productivity, 416-421 
dependence on temperature, 372,417-418 
in energy-transformation systems, 319, 

in leaves, 401-406 
in vegetation, 407-425 
light curve of, 409-411,413-414 
relation to diffusion in vegetation, 407- 

49 1 

415 
Photosynthetically-active radiation, 8-9, 

408-412,416-418,425 
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Pleistocene epoch, 290-308,484, 493 
faunal changes in, 450-461 
glaciations in, 263, 291-293, 301,484 
instability of climate of, 307-308,451, 

Polar regions; see Arctic, Antarctic, Heat 
balance of Arctic, of Antarctic 

Populations of animals, 433-434,453-158 
Potential evaporation (potential evapo- 

484-493 

transpiration), 33 1-346 
in sheltered fields, 474-478 
methods to determine, 335-346 
relation to actual evaporation, 93-97, 

100-102,323-324 
Potential productivity, 400-401,406, 

416-421; see also Productivity 
Precipitation, 

amounts on continents, 227-228 
amounts on oceans, 230-234,238 
errors in measuring, 232-234, 349-350 
from local vapor, 240-243 
influence of climate change on, 286, 300, 

influence of forest on, 463,478-479 
in relation to evaporation, 94, 324-329 
temperature of, 11 0-1 11 

Productivity of vegetation, 400-406,425- 

in relation to climatic factors, 355, 414- 
421 

in relation to radiative index of dryness, 
35 1,426-427 

in sheltered fields, 479 
in U.S.S.R., 427-429 
world mean, 431-434 

488 

433 

Q 

Quaternary period, 263, 291, 301-306, 
484-485,493 

faunal changes in, 450-46 1 

R 

Radiation; see Long-wave radiation, Short- 

Radiation balance at earth’s surface, 10-16 
wave radiation 

annual march of, 193-207 

aperiodic variation of, 142-147, 212-217 
component fluxes in, 10-16, 41-62; see 

also individual fluxes 
daily march of, 207-2 12 
errors in determining, 118-127 
geographical distribution of, 31, 154-160, 

in dry conditions, 324, 335,465 
in high latitudes, 181-183, 186 
microclimatic contrasts in, 120, 267-269 

period of record, 142-144 
variability in, 142-147, 193-217,344-346; 
see also Oceans, radiation balance of; Ice, 

heat balance of, Vegetation, radiation 
in, etc. 

Radiation balance at earth’s surface as index 

2 17-222 

to 
geographical zonality, 348-35 3 
latent-heat flux, 90-95, 105, 323-327 
productivity of vegetation, 420-421 
summer conditions, 344-345 ; see also 

Radiation balance of atmosphere, 10, 12 
Air-temperature sums 

methods to determine, 11 1-1 15 
zonal distribution of, 173-175, 223-225 

Radiation balance of earth-atmosphere 
system, 10, 12, 15-16 

effect of dust, 483 
effect of irrigation, 470 
geographical distribution of, 126-127, 

methods to determine, 112-1 15 
112-174,223-227,265-266,271-273 

Radiation balance of organisms, 371-397, 
445-449 

animals, 375,395-396 
human body, 388-389 

Radiation budget, 10, 12;see also 
Radiation balance 

Radiation deficit, 10, 12 
at night, 209-210 
in high latitudes, 186, 269,272 
in winter, 157, 198, 344 

Radiation surplus, 10, 12, 156; see also 

Radiative index of dryness, 322-323 
radiation balance 

and productivity of vegetation, 426-427 
in equation of relationship, 334-335 
in geographical zonality, 346, 353 

Relationship equation; see Equation of 
relationship between heat and water 
balances 
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Reptiles, 373-374,395-396 
extinction of, 441-450 

Reservoirs, 472-473 
Respiration of plants, 372,410412,415, 

Review of investigations of heat balance, 
424 

23-32,221 
of climatic indices, 330-335 

Richardson number, 67,80-81,84 
Rossby-Montgomery formula, 64, 9 1, 104 
Roughness; see Surface roughness 
Runoff, 

amounts of, 228-229,232,238 
coefficients of, 101-101, 326, 349, 351 
from sheltered fields, 478-479 
role in water balance, 22-23, 98-102, 

321-330 

S 

Savinov-Angstrom formula for short-wave 

Schmidt paradox, 64,222-223 
Sea-land differences in radiation balance, 

Sea-land differences in turbulent heat fluxes, 

Seasonality, 193-207,353-358 

radiation, 44 

156, 175,218 

162, 163, 167,207 

in albedo, 52-56 
in ice thickness, 276 
in short-wave radiation, 5-6,49, 15 1-154, 

in soil-heat flux, 107-109 
in turbulent fluxes, 70, 94-101, 162-167; 

299 

see also Annual marches 
Sensible-heat flux, 16-19, 62-87 

annual march of, 193-207 
aperiodic variation of, 213-2 17 
daily march of, 80, 208-212; see also 

determination of, 75-87 
downward, 31, 80, 322-323, see also 

Schmidt paradox; Valve effect in 
certain regions, 167, 270, 465-468 

geographical distribution of, 163-170, 

in deserts, 167, 195,466-468 
in high latitudes, 186-189, 201, 269-271 
in oases, 465,468 

Valve effect 

200,218-223 

over ocean surfaces, 163-170, 187, 207 

relation to turbulent diffusion, 62-64, 70, 

variability of, 214-217 

determination of, 75,78-87 

75-87 

Shelter belts, effect on local climate, 473- 
479 

Short-wave radiation, 1-12,41-57;see also 
Photosynthetically-active radiation 
absorbed at earth’s surface, 5 1-57; 

see also Albedo 
calculated, 42-5 1, 119 
daily march of, 50-5 1,418 
diffuse, 8, 51, 56, 297-298 

direct-beam, 8,43,51,56,  391-392 
in high latitudes, 179, 185, 280-281 

in Antarctic, 185 
scattered by dust, 295-300 

distribution of, 149-154 
in high latitudes, 178-180, 184-185 

observations of, 24-25,4142, 178, 189 
errors in, 119, 122-123 
period of record, 141-143 

scattered, see Short-wave radiation, diffuse 
variability of, 141-143,249, 306-308 

due to volcanic dust, 295-300, 312-313, 

Short-wave radiation outside the atmosphere, 
442444 

phere, 1-6,49,292 
variability of, 249, 307-308 

Shuleikin-Sverdrup formula for evaporation, 

Siberia, 358, 363 

Slope effects on surface temperature, 381- 
383 

Snow cover, 

79-86, 104, 106,231 

heat balance.in, 198-200 

albedo of, 12-13,53-56,180-181, 185, 

effect of on heat balance, 107, 110, 186, 

effect of on substrate heat flux, 108-109, 

in mountains, 192 
seasonal effects on climate, 181, 198, 

water storage, 478-479 
Snow line, 192, 304, 35 1 
Soil, carbondioxide flux from, 41 1,415- 

Soil freezing, 107, 109-110, 345 

268 

268,278 

274 

357-358 

416 
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Soil-heat flux, 90, 106-109, 201, 345 

Soil moisture, 22, 4 7 8 4 7 9  

Soil moisture in relation to evaporation, 

Soil temperature, 107 ,471472  
Solar radiation; see Short-wave radiation 
South America, 193, 229 
Stability; see Air temperature, vertical 

Stratification; see Air temperature, vertical 

Sublayer of molecular diffusion, 78-79, 82 
Sublayer, quasi-stationary, 63, 78, 80, 475 
Substrate-heat flux, 16-19, 87, 110, 172, 

in specific heat balances, 187, 202, 205 
in Arctic, 269-271, 279;see also 

in managed lands, 466467 ,471  

variability of, 194, 200-201 

88-102,162, 200-201, 322,471,478 

gradient 

gradient 

345 

Soil-heat flux 
Sun altitude, 3 

effect on atmospheric absorption, 50-5 1 
effect on direct-beam radiation, 54-55, 

effect on radiant heating of surfaces, 382- 
300, 304 

388 
Sunshine; see Short-wave radiation 
Sunshine duration, 44 
Surface roughness, 64-65,79,472 
Surface temperature 

as index to vegetation temperature, 375- 

as related to heat fluxes 
385,467468,479 

latent-heat flux, 78, 95, 104-106, 322- 

long-wave radiation, 60,465 
sensible-heat flux, 71-77, 223 

323,336-337 

determination of, 76-77, 95, 336-337 
in mountains, 343, 384 
in managed lands 

cases, 4 6 7 4 6 8  
sheltered fields, 479 

of human body, 386-394 
of slopes, 381-383 
of water bodies, 60,79-80, 85, 104, 342 

Sverdrup formula for evaporation, 78; see 

Sweating, in human heat balance, 390-391 
also Shuleikin-Sverdrup formula 

T 

Temperature; see Air, temperature of, 
Earth’s surface, temperature of; see also 
Thermal regimes 

Temperature coefficients in organisms, 37 1- 
375 

Tertiary period, 263, 291, 313 
ocean circulation during, 309-31 1,484 

Thermal inertia of oceans, 214-216, 298-299 
over long time periods, 318-3 19,449,483 

see also Oceans, heat storage in and 
Substrate-heat flux 

Thermal regime of Earth, 243-250 
Thermal regime of Arctic, 264-273 
Thermal regime of organisms, 371-397 

plants, 375-385 
animals, 395-397 
man, 386-395 

Thornthwaite method, 333 
Time variations of heat fluxes, 193-217; see 

also Daily marches, Aperiodic variations, 
Annual marches 

4 6 8 4 7 0  

transformation 

heat flux 

Transformation of air streams, 105, 381, 

Transformation of energy; see Energy 

Transpiration, 401402 ,  see also Latent- 

as diffusion process, 402 
productivity of, 401, 406 

Triassic period, 441-442 
Tropics; see Low latitudes 
Tuatara, survival of, 447 
Tundra, 348, 354-362,455459 

Turbulence, 62-106 
microclimates in, 120, 382 

coefficient of turbulent exchange (k), 62- 
73;see also Integral coefficient of 
turbulent diffusion (D) 

Turbulent diffusion, 62-106; see also 
Integral coefficient of turbulent diffusion, 
sion, Latent-heat flux, Sensible-heat flux 

Turbulent diffusion 
between earth’s surface and atmosphere, 

in air near the ground, 62-70 
in quasi-stationary sublayer, 63 

70-74 
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of latent heat, 87-106 
of sensible heat, 75-87 

Turbulent diffusion associated with vegeta- 
tion, 402415,473478 

within plant layer, 407-415 

U 

Ukraine, heat balance in, 30,477 
Underlying surface; see Earth’s surface 
Uniformitarianism, 291,440,448-450 
U.S.S.R., climates of, 356-365,427-429; 

see also Caucasus, etc., and Heat balance, 
etc. 

Upper Paleolithic, 452-461, 493 

V 

Valve effect on sensible-heat exchange, 76, 

Vapor flux in atmosphere, 223-225, 239- 

Vegetation characteristics 

80,322-323, 325 

24 3 

albedo, 53-56 
roughness, 65 
properties affecting productivity, 421-425; 

see also Leaf area 
Vegetation, distribution of, 348, 351-353, 

356-365,493 
small-scale, 382-384,473-479 

Vegetation, effect on climate, 320, 431, 
463464,473479,490,491 

Vegetation heat balance, 378-385,407-413; 
see also Earth’s surface, Heat balance 

Vegetation, radiation in, 53, 384-385,407- 
410 

temperature of, 371-373, 375-385,416- 
4 18; see also Leaf heat balance 

Vietnam, heat balance in, 193-194 
Volcanic activity 

variations in, 307, 309,443-446,483 
effects of, 295-302, 312-313,442-444 

Water balance, 22-23,227-239,464-473, 
479,493 

variability in, 88-101, 300, 301 
Water-balance effects on climate, 318, 464- 

473;see also Latent-heat flux 
Water bodies, heat content of, 23-24, 27, 

109-1 10; see also Oceans 
Water, phase changes of, in earth-atmos- 

phere, 11, 17,21,223-225,469-471 
at earth’s surface, 108-110, 261, 273-276 

see also Condensation, Latent-heat 
flux, Ice formation 

Water regimes 
relation to evaporation, 92-102, 321-335 
of continents, 227-229 
of the oceans, 229-238 
management of, 464-473 

Water surfaces, properties of 
albedo, 13-14,56-57 
roughness, 79,472 
temperature, 60,79-80, 85, 104, 342 

Water surfaces, turbulent diffusion over, 70, 

Water surfaces, turbulent fluxes from 

Oceans, evaporation from 

74-81, 187,269-270 

latent-heat, 78, 82-84, 102-106; see also 

sensible-heat, 75-87; 
see QISO Oceans, radiation balance of, heat 

Weather ships, observations at, 82-85, 122, 

Wind speed 

balance of, etc. 

2 13-2 17 

effect on turbulent diffusion, 66-69, 74, 

effect on turbulent-heat fluxes, 81-86,95, 

in managed lands, 472-479 
vertical gradient of, 64-67, 70, 408 

79,474 

104-105 

Y 

Yearly variations; see Annual marches 

W 
Z 

Warming trends, recent, 292,293-294, 298 
future, 482-483,485-493 z,, ;see Surface roughness 
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