Thrust Tectonics



Thrust Tectonics

Edited by

K.R. McClay

Department of Geology

Royal Holloway and Bedford New College
University of London

‘m‘ SPRINGER-SCIENCE+BUSINESS MEDIA, B.V.



First edition 1992

© 1992 K.R. McClay

ISBN 978-0-412-43900-1

Apart from any fair dealing for the purposes of research or private study, or criticism or review, as permitted
under the UK Copyright Designs and Patents Act, 1988, this publication may not be reproduced, stored, or
transmitted, in any form or by any means, without the prior permission in writing of the publishers, or in the
case of reprographic reproduction only in accordance with the terms of the licences issued by the Copyright
Licensing Agency in the UK, or in accordance with the terms of licences issued by the appropriate
Reproduction Rights Organization outside the UK. Enquiries concerning reproduction outside the terms
stated here should be sent to the publishers at the London address printed on this page.

The publisher makes no representation, express or implied, with regard to the accuracy of the information
contained in this book and cannot accept any legal responsibility or liability for any errors or omissions that
may be made.

A catalogue record for this book is available from the British Library

Library of Congress Cataloging-in-Publication data
Thrust tectonics / edited by K.R. McClay.
p. cm.
Papers presented as part of the Thrust Tectonics Conference held at Royal Holloway and Bedford New
College, University of London, from April 4th—7th, 1990.
Includes bibliographical references and index.

ISBN 978-0-412-43900-1 ISBN 978-94-011-3066-0 (eBook)

DOI 10.1007/978-94-011-3066-0

1. Thrust faults (Geology)—Congresses. 1. McClay, K.R. (Kenneth R.) II. Thrust Tectonics
Conference
(1990 : Royal Holloway and Bedford New College, University of London)
QE606.T57 1991

551.8'7—dc20 91-34275
CIp



CONTENTS

Contributors viii
Acknowledgements X
Introduction xi
Part One

Theoretical aspects and thrust mechanics

Erosional control of active compressional orogens

C. Beaumont, P. Fullsack and J. Hamilton 1
Dynamic and kinematic growth and change of a Coulomb wedge

S.D. Willett 19
A developmental stage of a foreland belt

E.G. Bombolakis 33

One-dimensional models for plane and non-plane power-law flow in shortening and elongating

thrust zones
S. Wojtal 41

Part Two
Physical modelling

Centrifuge modelling of the propagation of thrust faults

J.M. Dixon and Shumin Liu 53
Physical models of thrust wedges

Huiqi Lui, K.R. McClay and D. Powell 71
Generation of curved fold-thrust belts: Insight from simple physical and analytical models

S. Marshak, M.S. Wilkerson and A.T. Hsui 83
Thrust faults in inverted extensional basins

K.R. McClay and P.G. Buchanan 93
Part Three

Thrust geometries and thrust systems
Rates of folding and faulting determined from growth strata

J. Suppe, G.T. Chou and S.C. Hook 105
Role of shear in fault-propagation folding

J. Mosar and J. Suppe 123
2-D reconstruction of thrust evolution using the fault-bend fold method

R. Zoetemeijer and W. Sassi 133
Kinematic models of deformation at an oblique ramp

T.G. Apotria, W.T. Snedden, J.H. Spang and D.V. Wiltschko 141
Stress controls on fold thrust style

W.R. Jamison 155

Kinematics of large-scale asymmetric buckle folds in overthrust shear: an example from the
Helvetic nappes

M.G. Rowan and R. Kligfield 165
Forelimb deformation in some natural examples of fault-propagation folds
J.L. Alonso and A. Teixell 175

The geometric evolution of foreland thrust systems
M.P. Fischer and N.B. Woodward 181



Some geometric problems of ramp-fiat thrust models
J.G. Ramsay

The duplex model: Implications from a study of flexural-slip duplexes
P.W.G. Tanner

Palacomagnetic techniques applied to thrust belts
A.M. McCaig and E. McClelland

Evolution of crystalline thrust sheets in the internal parts of mountain chains
R.D. Hatcher, Jr. and R.J. Hooper

Part Four
Pyrenees

Evolution of a continental collision belt: ECORS-Pyrenees crustal balanced cross-section
J.A. Murioz

Thrusting and foreland basin evolution in the Southern Pyrenees
C. Puigdefabregas, J.A. Murioz and J. Vergés

South Pyrenean fold-and-thrust belt: Role of foreland evaporitic levels in thrust geometry
J. Vergés, J.A. Murioz and A. Martinez

Contrasting rotations within thrust sheets and kinematics of thrust tectonics as derived from
palacomagnetic data: an example from the Southern Pyrenees
J. Dinarés, E. McClelland and P. Santanach

Part Five

Alps

The Alps - a transpressive pile of peels
H. Laubscher

Structural evolution of the western Chartreuse fold and thrust system, NW French Subalpine Chains
R.W.H. Butler

Kinematics of a transverse zone in the Southern Alps, Italy
G. Schénborn

Hangingwall geometry of overthrusts emanating from ductile decollements
P. Jordan and T. Noack

The Venetian Alps thrust belt
C. Doglioni

Part Six
Himalayas

Thrust geometries, interferences and rotations in the Northwest Himalaya
P.J. Treloar, M.P. Coward, A.F. Chambers, C.N. Izatt and K.C. Jackson

Balanced and retrodeformed geological cross-section from the frontal Sulaiman Lobe, Pakistan:
Duplex development in thick strata along the western margin of the Indian Plate
LA.K. Jadoon, R.D. Lawrence and R.J. Lillie

Part Seven
NW American Cordillera

The Monashee decollement of the southern Canadian Cordillera: a crustal-scale shear zone linking the
Rocky Mountain Foreland belt to lower crust beneath accreted terranes
R.L. Brown, S.D. Carr, B.J. Johnson, V.J. Coleman, F.A. Cook and J.L. Varsek

The Skeena fold belt: a link between the Coast Plutonic Complex, the Omineca belt and the Rocky
Mountain fold and thrust belt
C.A. Evenchick

191

201

209

217

235

247

255

265

277

287

299

311

319

325

343

357

365



Geometric evidence for synchronous thrusting in the southern Alberta and northwest Montana thrust
belts
S.E. Boyer

The analysis of fracture systems in subsurface thrust structures from the Foothills of the Canadian
Rockies
M. Cooper

Thrust tectonics and Cretaceous intracontinental shortening in southeast Alaska
C.M. Rubin and J.B. Saleeby

Glossary
K.R. McClay

Index

377

391

407

419

435



CONTRIBUTORS

J.L. Alonso, Departamento de Geologia, Universidad de Oviedo, Oviedo, Spain

T.G. Apotria, Department of Geology and Center for Tectonophysics, Texas A&M University College
Station, Texas, USA

C. Beaumont, Oceanography Department, Dalhousie University, Nova Scotia, Canada

E.G. Bombolakis, Department of Geology and Geophysics, Boston College, Chestnut Hill, Massachusetts,
USA

S. Boyer, Department of Geological Sciences, University of Washington, Washington, USA

R.L. Brown, Department of Earth Sciences, Carleton University and Ottawa-Carleton Geoscience Centre,
Ontario, Canada

P.G. Buchanan, 30 Marler Road, Forest Hill, London, UK

R.W.H. Butler, Department of Earth Sciences, The Open University, Milton Keynes, UK

S.D. Carr, Department of Earth Sciences, Carleton University and Ottawa-Carleton Geoscience Centre,
Ontario, Canada

A.F. Chambers, School of Geological Sciences, Kingston Polytechnic, Surrey, UK

G.T. Chou, Texaco USA, 4601 DTC Boulevard, Denver, Colorado, USA

V.J. Coleman, Department of Earth Science, Carleton University and Ottawa-Carleton Geoscience Centre,
Ontario, Canada

F.A. Cook, Department of Geology and Geophysics, The University of Calgary, Alberta, Canada

M. Cooper, BP Resources Canada Limited, Calgary, Alberta, Canada

M.P. Coward, Department of Geology, Imperial College, London, UK

J. Dinares, Department de Geologia Dinamica, Universitat de Barcelona, Zona Universitaria de Pedralbes,
Barcelona, Spain

J.M. Dixon, Experimental Tectonics Laboratory, Department of Geological Sciences, Queen’s University,
Kingston, Ontario, Canada

C. Doglioni, Dipartimento di Scienze Geologiche e Paleontologiche, Universita di Ferrara, 44100, Italy
C.A. Evenchick, Geological Survey of Canada, Vancouver, British Columbia, Canada

M.P. Fischer, Department of Geosciences, The Pennsylvania State University, University Park, Pennsyl-
vania, USA

P. Fullsack, Oceanography Department, Dalhousie University, Nova Scotia, Canada

J. Hamilton, Oceanography Department, Dalhousie University, Nova Scotia, Canada

R.D. Hatcher, Jr, Department of Geological Sciences, University of Tennessee, Tennessee, USA

S.C. Hook, Texaco Inc, PO Box 70070, Houston, Texas, USA

R.]J. Hooper, Department of Geology, University of South Florida, Florida, USA

A.T. Hsui, Department of Geology, University of Illinois, Urbana, Illinois, USA

C.N. Izatt, International Exploration, British Gas, 59 Bryanston Street, London, UK

K.C. Jackson, Department of Geology, Imperial College, London, UK

I.A.K. Jadoon, Department of Earth Sciences, Quaid-i-Azam University, Islamabad, Pakistan

W.R. Jamison, Amoco Production Research, Tulsa, Oklahoma, USA

B.J. Johnson, Department of Earth Sciences, Carleton University and Ottawa-Carleton Geoscience Centre,
Ontario, Canada

P. Jordan, Geological Institute of Basel University, Bernoullistrasse 32, Basel, Switzerland

R. Kligfield, Department of Geological Sciences, University of Colorado, Boulder, Colorado, USA

H. Laubscher, Geological Institute of Basel University, Bernoullistrasse 32, Basel, Switzerland

R.D. Lawrence, Department of Geosciences, Oregon State University, Oregon, USA

R.J. Lillie, Department of Geosciences, Oregon State University, Oregon, USA

H. Liu, Department of Geology, Royal Holloway and Bedford New College, University of London, Surrey
S. Liu, Experimental Tectonics Laboratory, Department of Geological Sciences, Queen’s University,
Kingston, Ontario, Canada

S. Marshak, Department of Geology, University of Illinois, Urbana, Illinois, USA

A. Martinez, Servei Geologic de Catalunya, Parallel, Barcelona, Spain

A.M. McCaig, Department of Earth Sciences, University of Leeds, UK

E. McClelland, Department of Earth Sciences, University of Oxford, UK

J. Mosar, Department of Geological and Geophysical Sciences, Guyot Hall, Princeton University, New Jersey,
USA



J.A. Munoz Department de Geologia Dinamica, Universitat de Barcelona, Zona Universitaria de Pedralbes,
Barcelona, Spain

T. Noack, Geological Institute of Basel University, Bernoullistrasse 32, Basel, Switzerland

D. Powell, Brunary House, Glen Moidart by Lochailort, Invernesshire, Scotland

C. Puigdefabregas, Servei Geologic de Catalunya, Parallel, Barcelona, Spain

J.G. Ramsay, Geologisches Institut, ETH Zentrum, Zurich, Switzerland

M. Rowan, Alastair Beach Associates, 11 Royal Exchange Square, Glasgow, Scotland

C.M. Rubin, Division of Geological and Planetary Sciences, California Institute of Technology, Pasadena,
California, USA

F.J.B. Saleeby, Division of Geological and Planetary Sciences, California Institute of Technology, Pasadena,
California, USA

P. Santanach, Department de Geologia Dinamica, Universitat de Barcelona, Zona Universitaria de Pedralbes,
Barcelona, Spain

W. Sassi, Institut Francais de Petrole, 92506 Rueil Malmaison Cedex, France

G. Schonborn, Geological Institute of Basel University, Bernoullistrasse 32, Basel, Switzerland

W.T. Snedden, Texaco E&P Technology Division, Houston, Texas, USA

J.H. Spang, Department of Geology and Center for Tectonophysics, Texas A&M University College Station,
Texas, USA

J. Suppe, Department of Geological and Geophysical Science, Guyot Hall, Princeton University, New Jersey,
USA

P.W.G. Tanner, Department of Geology and Applied Geology, University of Glasgow, Glasgow, Scotland
A. Teixell, Division de Geologia, ITGE, Jaca, Spain

P.J. Treloar, Department of Geology, Imperial College, London, UK

J.L. Varsek, Department of Geology and Geophysics, The University of Calgary, Alberta, Canada

J. Verges, Servei Geologic de Catalunya, Parallel, Barcelona, Spain

M.S. Wilkerson, Department of Geology, University of Illinois, Urbana, Illinois, USA

S.D. Willett, Department of Oceanography, Dalhousie University, Nova Scotia, Canada

D.V. Wiltschko, Department of Geology and Center for Tectonophysics, Texas A&M University College
Station, Texas, USA

S. Wojtal, Department of Geology, Oberlin College, Oberlin, Ohio, USA

N.B. Woodward, 26117 Viewland Drive, Damascus, Maryland, USA

R. Zoetemeijer, Institut Francais du Petrole, 92506 Rueil Malmaison Cedex, France



ACKNOWLEDGEMENTS

The papers presented in this volume were part of the Thrust Tectonics Conference held at Royal Holloway and
Bedford New College, University of London from 4-7 April 1990. The Conference and production of this
volume were greatly assisted by the generous sponsorship of the Geology Department, Royal Holloway and
Bedford New College, Brasoil UK Ltd, BP Petroleum Development PLC, Chevron Petroleum UK Ltd, Clyde
Petroleum, Enterprise Oil, Esso Exploration and Production Ltd and Shell Petroleum UK.

The staff and students of the Geology Department, Royal Holloway and Bedford New College, in particular
Tim Liverton, Luis D’el Rey Silva, Martin Insley, James Dobson, Kevin D’Souza and Sandra Muir, are
thanked for their assistance and support in running the conference.

The authors who submitted manuscrips for consideration for publication in this volume are thanked for their
efforts and particularly for following the editor’s guidelines and submitting in Macintosh format. Minor
grammatical changes in the texts remain the responsibility of the editor.

The manuscrips were ably and promptly reviewed by the persons listed below, many of whom kindly
reviewed two or more papers:

J. Alvarez-Marron I. Davison M. Insley G. Roberts
A. Baird D. De Paor C. Izatt M. Rowan
A. Bally J. Dewey C. Jackson E. Rutter

C. Banks D. Dietrich W. Jamison D. Sanderson
A. Barber P. Ellis G. Karner W. Sassi

S. Boyer P. Fermor R. Knipe J. Suppe

M. Brandon M. Ford P. Kooms C. Talbot

K. Brodie H. Gabrielse G. Lloyd G. Tanner
R. Brown R. Gayer G. Manby R. Thompson
R. Butler D. Gee N. Mancktelow P. Treloar

T. Chapman P. Geiser A. McCaig J. Warburton
P. Cobbold R. Graham A. Meneilly P. Weston
M. Cooper R. Groshong G. Mitra J. Wheeler

J. Cosgrove S. Hall S. Mitra N. White

D. Cowan W. Higgs J. Muiioz G. Yeilding
M. Coward R. Holdsworth A. Pfiffner R. Zoetemeijer.
F. Dahlen W. Horsfield R. Price

M. Daly D. Hutton A. Roberts

Finally a special vote of heartfelt thanks goes to Andrew D. Scott and Ruth Durrell for their invaluable and
cheerful assistance in organizing the conference and in the production of this volume. This book was compiled
and typeset by R. Durrell, A. Scott and K. McClay, Geology Department, Royal Holloway and Bedford New
Coliege, University of London using Microsoft Word 4.0® and Pagemaker 4.0®. Kevin D’Souza kindly
produced the PMTs. Phototypesetting was done at the Typesetting Bureau of the University of London
Computer Centre.

Ken McClay

Geology Department

Royal Holloway and Bedford New College
University of London



Thrust Tectonics: An introduction

K.R. McClay

Department of Geology, Royal Holloway and Bedford New College,
University of London, Egham, Surrey, England TW20 OFX.

Since the first Thrust and Nappe Tectonics Conference in London in 1979 (McClay & Price 1981), and the Toulouse Meeting
on Thrusting and Deformation in 1984 (Platt et al. 1986) there have been considerable advances in the study of thrust systems
incorporating new field observations, conceptual models, mechanical models, analogue and numerical simulations, together
with geophysical studies of thrust belts. Thrust Tectonics 1990 was an International Conference convened by the editor and
held at Royal Holloway and Bedford New College, University of London, Egham Surrey, from April 4th until April 7th 1990.
There were one hundred and seventy participants from all continents except South America. The conference was generously
sponsored by Brasoil UK. Limited, BP Exploration, Chevron U.K. Limited, Clyde Petroleum, Enterprise Oil, Esso
Exploration and Production UK Limited, and Shell U.K. Exploration and Production.

One hundred and five contributions were presented at the meeting, - seventy six oral presentations (together with poster
displays) and an additional twenty nine posters without oral presentation (McClay 1990, conference abstract volume).

The thirty six papers presented in this volume represent a distillation of the material presented at the conference and are
grouped into thematic sections that follow the main topics of discussion at the meeting. To an extent the grouping of papers
into specific thematic sets is somewhat arbitrary as there are many common linkages between the various sections. In
particular many papers focus upon both the geometries of thrust systems and their kinematic evolution - a recurring theme
throughout the volume. Space limitations prevented publication of all of the papers presented at the meeting but it is hoped
that this volume will provide the reader with an appreciation of the current research themes and concepts of thrust systems.
The contents of the volume are summarized below.

The first section of this volume is headed ‘Theoretical aspects and thrust mechanics’. Beaumont et al. describe an elegant
finite element model of the evolution of the Southern Alps of New Zealand. The model incorporates tectonic data, erosional
and orthographic data and demonstrates surprisingly that the climate, erosion and fluvial systems are coupled to the orogenic
evolution such that the structural and metamorphic style of this thrust belt may be controlled by the fluvial erosion and climate
on the western flank of the Southern Alps. Willett presents a finite-element model of Coulomb wedges in order to simulate
the growth of accretionary prisms and foreland fold and thrust belts. The model demonstrates self-similar growth of the
Coulomb wedge and investigates the kinematics and particle velocities of critical wedges growing by accretion. Changes in
the boundary conditions of the wedge (e.g. a change in the basal friction) changes the wedge geometry and thus may permit
out of sequence thrusting (increase in basal friction) or extensional collapse of the wedge whilst in compression (decrease in
basal friction). Bombolakis examines the partitioning of elastic strains and strain-rate dependent ductile deformation in the
emplacement of the frontal parts of thrust systems. He demonstrates that significant thrust movement in these environments
can occur by aseismic processes. Waojtal presents a one-dimensional model for plane and non-plane power-law flow in
shortening and elongating thrust zones. He concludes that viscous creep is significant along external thrust faults and that
fluid assisted diffusive mass transfer processes (pressure solution) are important deformation mechanisms in the fine-grained
banded cataclasites of such thrust systems.

The second section of this volume titled ‘Physical modelling’ contains four papers on analogue modelling of thrust
structures. Dixon & Liu investigate the formation of foreland fold and thrust belts using scaled centrifuge models. They
demonstrate that folding precedes thrusting, and that the thrust periodicity is inherited from the buckling wavelength of the
antecedent fold systems. The models also demonstrate the 3D coalescence of small thrusts to form larger thrust systems. Liu
et al. present a detailed study of sandbox models of thrust systems found in accretionary wedges and foreland fold and thrust
belts. The boundary conditions of the models were systematically varied and the results are in broad agreement with Coulomb
wedge theories (cf. Davis et al. 1983; Dahlen 1990). Low basal friction models are characterised by both foreland-vergent
and hinterland-vergent thrust faults (i.e. backthrusts) as well as low critical tapers of the resultant Coulomb wedge.
Intermediate basal friction models show a dominance of foreland-vergent thrust systems whereas models in which the
coefficient of friction at the base is equal to that within the wedge, depart from ideal Coulomb wedges and show greater tapers
than predicted by theory. Marshak ef al. investigate the generation of curved thrust belts using viscous analogue models,
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finite difference models and sandbox models. They conclude that curved fold and thrust belts may be generated by differential
displacement such as that resulting from the interaction with obstacles or along strike variations in sediment thicknesses.
McClay & Buchanan investigate the geometries of thrust systems formed by inversion of extensional basins. Sandbox
models demonstrate the complexities of thrusts produced by inversion - steep angle thrusts, footwall shortcut thrusts,
backthrusts and both ‘forward-breaking’ and ‘break-back’ thrust sequences.

The third section of this volume is titled - Thrust geometries and thrust systems” and focuses upon geometric and kinematic
problems of thrust systems. Suppe ef al. set out the theory for the geometry of growth folding associated with kink band
folding, fault-bend folding and fault-propagation folding. They demonstrate that the stratal geometries of growth sequences
may be used to determine fault slip rates and illustrate their results with both seismic and map examples of growth fold systems.
Mosar & Suppe introduce the theory for fault-propagation folding with variable shear. They show how the geometries of
fault-propagation or tip-line folds may be significantly altered by layer parallel shear. Zoetemeijer & Sassi describe a
computer method for 2D reconstruction of thrust systems using the fault-bend fold model. The method can incorporate
syntectonic sedimentation and erosion. The problems of three dimensional thrust geometries developed over oblique ramps
are tackled by Apotria et al. They describe a detailed kinematic analysis of fault-bend fold interactions at frontal and oblique
ramps and illustrate their results with both cross-sections and map views. The stress controls on thrust related folding are
addressed by Jamison. He proposes that the style of folding in a thrust belt is a result of the competition between buckling
and faulting and as such is dependent upon the depth of burial and tectonic regime. The hypothesis is illustrated with examples
from the Rocky Mountain thrust belt. Rowan & Kligfield present a kinematic analysis of asymmetric detachment folds from
the Wildhorn nappe, Helvetic Alps. They propose that overthrust shear between the nappe boundaries generated buckle folds
and rotational strains within the nappe system. Alonso & Teixell describe an analysis of fault-propagation folds in which
the forelimbs are thinned by heterogeneous simple shear localized at ramps and not penetrative through the whole of the thrust
sheet. The progressive geometric evolution of thrust faults and related folds is examined by Fischer & Woodward. They
propose, using examples from both Wyoming and the Appalachians, that fold-thrust systems do not evolve in a self-similar
fashion but argue that variations of fold-thrust structures along strike in a thrust belt do not represent temporal variations in
evolution but rather reflect intrinsic variations in the mechanical response of the stratigraphic package to contraction.

Ramsay argues against unquestioning acceptance and wholesale application of preconceived geometric models for thrust-
fold systems - particularly those where the deformation is concentrated in the hangingwalls of thrust faults. He describes
examples where footwall deflection is important and advocates many more detailed studies of natural thrust systems. The
geometries and kinematics of duplex structures are addressed by Tanner who proposes that the Boyer & Elliott (1982) model
does not universally apply and that many natural duplex systems show indications of synchronous fault movement. The use
of palacomagnetic studies to determine rotations about vertical axes in thrust belts is reviewed by McCaig & McClelland
whereas Hatcher & Hooper review the main characteristics of thrust sheets that involve crystalline basement in the interior
parts of mountain belts.

The fourth sectiononthe ‘Pyrenees’ concernsrecent research which integrates structural, sedimentological and geophysical
results. An overview and balanced crustal cross-section of the Pyrenean continental collision belt is presented by Munoz.
He points out the discrepancy between the cross-sectional length of the upper crust and that of the lower crust and argues for
subduction of Iberian lower crust northwards under the European crust. The structural, stratigraphic and sedimentological
evolution of the southern Pyrenean foreland basins is synthesized by Puigdefabregas et al. The evolution of the foreland
basin sequences is described with reference to the patterns of thrusting. Verges et al. investigate the role of the foreland
evaporitic sequences in controlling the evolution and emplacement of the frontal thrust systems and demonstrate their
influence on the strike of the thrust system and on the location of oblique ramps. The palacomagnetic study of Dinares et
al. demonstrates that up to 45° rotation about vertical axes occurs in thrust sheets associated with oblique ramps in the southern
Pyrenean thrust belt.

The fifth section of this volume contains five papers on the ‘Alps”. Laubscher addresses the problems of linked com-
pression and strike-slip tectonics in the central Alps and quantifies the E-W strike-slip components. Butler describes the
western Chartreuse fold and thrust system and emphasizes the role of folding and preexisting extensional structures in the
evolution of the belt. The detailed geometries and kinematics of a transverse zone in the southern Alps are analysed by
Schonborn. Jordan & Noak develop models for the evolution of the hangingwall geometries of thrust systems developed
above ductile decollements and apply these to examples in the Jura. The final paper in this section by Doglioni describes the
structure of the Venetian Alps.

The sixth section of this book contains two papers on the ‘Himalayas'. Treloar et al. summarize the kinematic evolution
of the northwest Himalayas linking displacement patterns, thrust sequences with the analysis of rotations of the thrust sheets
using palaeomagnetic data. Jadoon ef al. describe the geometry and kinematics of the Sulaiman fold belt, Pakistan.
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The final section contains five papers onthe ‘North American Cordillera’. Brown et al. describe the Monashee decollement
in the southern Canadian Cordillera. Using new LITHOPROBE data they are able to demonstrate the existence of a linked
detachment from the Rocky Mountain foreland fold and thrust belt through to the accreted terranes on the western margin of
the Canadian Cordillera. Evenchick describes the newly recognized Skeena fold belt and demonstrates a kinematic linkage
between the Coast Plutonic complex and the Omineca and Rocky Mountain fold and thrust belts. The geometric and kinematic
evolution of duplex systems is addressed by Boyer with reference to duplexes in the southern Canadian Rocky Mountains
and in the Rocky Mountains of Montana. He argues that these duplexes evolved through synchronous thrust movement - not
by a sequential, forward-breaking ‘piggy-back’ sequence. Cooper describes a detailed subsurface fracture analysis of thrust-
related folds in the Foothills of the Canadian Rocky Mountains. The last paper in this section by Rubin & Saleeby describes
the thrust belt features in the interior of the orogen between the Intermontane and Insular terranes of the North American
Cordillera.

It will be evident to a reader of this volume that the theoretical and conceptual models for the geometries and kinematic
evolution of high-level foreland fold and thrust belt systems are well developed and highly sophisticated (Suppe et al. 1991,
this volume; Mosar & Suppe 1991, this volume). However, detailed field observations are still needed to test their applicability
particularly with respect to the question of whether thrust structures evolve in a self-similar fashion (Fischer & Woodward
1991, this volume) (cf.fault related folds) or whether they evolve through different structural forms (e.g. from detachment
folds - to fault propagation folds - to fault bend folds). It is also apparent that whilst the external zones of thrust belts are
relatively well studied, the interior parts of orogens are less well understood and require much more detailed research on the
more complex thrust systems found therein. Field work will need to be integrated with geophysical data and sections of the
whole crust and lithosphere will need to be constructed. Petrofabric, strain and P-T-t data are needed in order to interpret the
processes operating during thrust emplacement. The mechanics of thrust belt evolution are now being addressed using
Coulomb wedge models (cf. Willett 1991, this volume), variations of which may provide answers for the problems of fault
sequencing in thrust belts. It is apparent that, from both analogue modelling (Dixon & Liu 1991, this volume; Liu ez al. 1991,
this volume) and from field studies (Boyer 1991, this volume), synchronous thrust movement is a significant element in the
kinematic evolution of foreland fold and thrust belts. This therefore will have important implications for thrust sequences
and the balancing and restoration of cross-sections in thrust terranes.

Field based research, however, is the ultimate test of the theoretical, conceptual, numerical and analogue models. Itis clear
that the better understanding of thrust belts - for example that of the Canadian Rocky Mountains (e.g. Price 1981; Evenchick
1991, this volume; Brown et al. 1991, this volume) and of the Pyrenees (e.g. Munoz 1991, this volume; Puigdefabregas et
al. 1991, this volume), stems from detailed fieldwork that integrates structural geology, stratigraphy, sedimentology and
geophysical data. Future research on thrust tectonics will still need to be firmly based upon multidisciplinary field studies
if progress is to be made in the understanding of the geometries, kinematics and mechanics of thrust systems.
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Abstract: Denudation has long been acknowledged as a process that contributes to the unroofing
of compressional orogens. It has, however, mainly been considered as a passive process, not one
that can dictate or control the tectonic evolution. This view prevails despite the knowledge that
the style of deformation is controlled by the interplay of gravitational and tectonic stresses: an
interplay that is sensitive to the mass removed by denudation.

This paper presents amodel designedto investigate the syn-tectonic style of acompressional orogen
that is subject to large-scale denudation. The model couples tectonics and erosion in the following
manner. The rate of lithospheric deformation, including surface uplift, is calculated by a plane-
strain rigid plastic and/or viscous model of the lithosphere's response to tectonic compression. A
digital erosion model acts on the current planform surface of the orogen to redistribute mass by a
combination of short-range (hillslope) diffusion and long-range (fluvial) transport.

The fluvial network is recharged by a model of orographic rainfall in which the distribution is
related to the current model topography. Tectonic uplift is added to the planform surface at the
beginning of each erosional timestep. The current planform topography after erosion is averaged
along the direction normal to compression and is then used to define the surface for the next step
of the tectonic model.

Preliminary results compare favourably with the orogen-scale precipitation, morphology and
tectonics of the Southern Alps of South Island, New Zealand. The potential importance of at-
mospheric coupling to orogenic evolution is illustrated by results from contrasting models of the
Southern Alps in which: (1) there is no erosion; (2) rainfall is derived from a westerly source, and;
(3) rainfall is derived from an easterly source. If the model is correct, the structural and metamor-
phic style of this orogen is controlled by fluvial denudation of its western flank charged by the

orographic precipitation.

Can erosion control the evolution of compressional orogens
at the scale of the orogen? This paper investigates the way in
which orographic rainfall and consequent erosion of a
mountain belt may be linked to the tectonics of the underlying
deforming orogen. If this analysis is correct, palaeoclimatic
information may be required before the evolution of ancient
orogens can be fully understood.

The basis of the coupling between erosion and deforma-
tion was discussed by Jamieson & Beaumont (1988, 1989).
They linked the concept of critical topography (Chapple
1978; Stockmal 1983; Davis eral. 1983; Dahlen 1984, among
others) applied at the orogen scale, which they termed critical
shape, to syn-tectonic deformation within the orogen when
the critical shape is destroyed by erosion. The purpose of this
paper is to quantify these concepts. A critical orogen will
respond to erosion by a perturbation to the internal velocity
distribution that will act to restore the critical shape. Persist-
ent erosion leads to exhumation of material from within the
orogen in proportion to the mass removed by erosion. The
process may control how rocks from deep within an orogen
are exposed at the surface.

By considering erosion of a critical Coulomb wedge in
steady state, Dahlen & Barr (1989) and Barr & Dahlen (1989)
illustrated the consequences of the dynamic steady state for
the velocity distribution, and pressure-temperature-time (PTt)
paths of rocks as they pass through the wedge. Erosion
destroys the critical state of the deforming wedge by reducing

the component of the stress tensor within the wedge that is
relatedto the weightofthe overburden. Additional deformation
follows because the yield strength of the Coulomb (frictional)
material decreases as overburden is removed.

Itmay, alternatively, be argued that a viscous, not Coulomb
orplastic, rheology is more appropriate for orogenic mechanics
at the largest scale. If this is true, the viscous sheet model
(England & McKenzie 1982; Vilotte ef al. 1986, among
others) demonstrates the relative importance of gravitational
and tectonic forces on the velocity and strain-rate distribu-
tions within the sheet through their ratio, the Argand number.
For finite Argand numbers gravitational forces limit orogenic
thickening, a plateau develops and high strain rate regions are
limited to the periphery of the plateau. When erosion removes
mass from the plateau or its flanks, gravitational stabilization
is reduced and strain rates correspondingly increase where
erosion has occurred. The vertical strain, coupled with
isostatic adjustment, induces enhanced uplift as a response to
the erosion. If erosion persists, the coupled tectonic response
induces exhumation of the crust in the viscous sheet model
that is equivalent to that of the eroding Coulomb wedge.

The strain within a deforming compressional orogen is
related to the internal state of stress, irrespective of the
rheology. At crustal and lithospheric scales gravitationally
induced stress is as important as tectonic stress. It follows that
the syn-tectonic deformation of an orogen will be modified
by erosion.
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Figure 1. Conceptual illustration of the coupled plane-strain tectonic and
surface processes model. Orogenic evolution is controlled by the interplay
of deformation, driven by tectonic compression, with surface transport by
hillslope and fluvial processes. Potential applications of the model are listed
at bottom right.

Dahlen & Barr (1989) solve the problem of exhumation in
a steady-state Coulomb critical wedge. The corresponding
exhumation for a steady-state viscous sheet can be derived
from the zero Argand number plane-stress solution (England
& McKenzie 1982)if it is also assumed that the sheet deforms
by pure shear. This approach is different because a steady
state in which the geometry remains static, and uplift and
erosion are equal is not assumed a priori. Instead, this paper
considers the dynamic interactionbetweenadeformingorogen
and the erosion of its topography by mass diffusion and
fluvial transport. The model (Fig. 1) links a planform surface
mass transport model with a cross-sectional plane-strain
model of crustal tectonics in which the plane is normal to
strike of the compressional orogen. It is assumed that the
orogen responds to an areal average of the surface mass
redistribution. If thisis correct, thecomplete three-dimensional
solution of the tectonic problem is not required. Instead, the
plane-strain tectonic model is coupled with the strike average
of the surface mass redistribution. The evolution of the
surface therefore represents the erosional response to orogenic
uplift which does not vary along strike.

The formulation of the tectonic and surface mass transport
models is first discussed and preliminary model results are
then compared with the Southern Alps of central South
Island, New Zealand, which independent evidence suggests
is a near steady-state orogen.

Tectonic model

When modelling the dynamics of lithospheric deformation
assumptions have to be made about the constitutive relation-
ship between the stress field, and the deformation and its rate.
Elastic-plastic, rigid-plastic and viscous rheologies are com-
monly used to represent brittle-frictional and ductile regions.

Here the assumption is made that when the deformation is
large, elastic strains are negligible, and arigid-plastic rheology
is used to model brittle behaviour of an orogen. The theory
is briefly described (see also Willett 1991, this volume) and
it is shown to be formally analogous to a viscous rheology.
On the basis of this analogy the Stokes equation for a viscous
fluid is used to solve incrementally for the velocity and strain
rate for each step of the deformation.

Rigid-plastic rheology

A rigid-plastic material does not deform until stresses reach
ayield level, at which point it deforms according to a plastic
flow rule, the stresses never exceeding the yield level. In the
Levy-Mises theory (Malvern 1969), the rigid and plastically
deforming regions are governed by:

Rigid branch Plastic branch

2 2
L@<o, O J©)=0 @)
£=0 g = ko'

where, €= ;‘(VQ+ V Tv) s the instantaneous strain rate for
velocity field v , 6” is the deviatoric stress tensor,
J,(0') = (5’; 0','] /2 is the second invariant of ¢, and G is the
yield stress. k is apositive scalar which varies spatially so that
the constraint equations of the rigid and plastic branches and
the boundary conditions will be satisfied.

The simple model also assumes that plastic deformation is
incompressible, that is v . § = (, which, when coupled with
the equilibrium equations, is used to determine the pressure.

Pseudo-viscous analogy

For a linear viscous rheology, viscosity 1,

ne
I

o 3)

=

It can be seen that /2 (6" < Gyz when rigid behaviour (eqn.
1) can be approximated, ¢ ~ 0, by letting n take a very large
value, N, inequation (3). Correspondingly, taking an effec-
tive viscosity 1, in equation (3) such that n2 = o2 [/, (¢)
simultaneously satisfies both requirements of a plastically
deforming region (eqns 2). An equivalence therefore exists
between viscous and Levy-Mises plastic flows such that a
proper choice of effective viscosity can always be made to
approximate the rigid plastic equations.

Velocity and deformation calculations

Having shown that the rigid plastic constitutive equation can
be represented by an effective viscosity, the deformation can
be found by solving the conservation of momentum equation
for viscous fluid flow, the Navier-Stokes equation. The
inertial term is not required because large, long-term defor-
mation of the lithosphere is a quasistatic process. The
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governing equations are therefore:

NeV2y -Vp +pg =0 (equilibrium) 4

V. u=0 (incompressibility) (5)

subject to the boundary conditions. Equations (4) and (5) are
solvedforv inthe current configuration which is then updated
before the next step of the solution.

The equilibrium distribution of the pseudo viscosity, 1, ,
is found by iteration. A high level of stress, generated by
assuming T, = N everywhere and applying the boundary
conditions, is relaxed progressively by ‘softening’ locations
where this level of stress exceeds the yield. Both plastic and
viscous regions of the lithosphere can be included in the
solution by assigning a fixed ‘true’ viscosity where appropri-
ate. This technique is used to examine the effect of a basal
viscous boundary layer.

Computations were made using a modified form of the
finite element code ADINA (ADINA 1987).

Typical solutions on a CRAY-XMP require 40s to deform
a crustal scale 30 x 60 element grid of 4-noded elements by
400 m.

Surface transport model

The surface volume transport and the evolution of topogra-
phy and morphology at the orogenic scale is considered in
terms of a quantitative, yet simple, model of the interaction
between short range and long range transport on a cellular
topographic grid. The model is similar toChase’s (1988, 1989,
pers.comm.) precipitation model of fluvial landsculpting, but
differs because this paper considers distributed orographic
rainfall and the cumulative effect of fluvial discharge down
a drainage network. While Chase's approach is appropriate
for an arid environment subject to small-scale isolated storm
events, our model includes large-scale distributed discharge
incontinuously flowingrivers. Sediment transport is the sum
of the two independent processes, which are assumed to be in
a dynamic steady state during each of the model steps of
length Ar.

Short range transport

The short range transport model represents the cumulative
effect of processes (soil creep, landslides, rainsplash, surface
and subsurface wash) that remove material from hill and
mountain sides and transport it to the valleys (Carson &
Kirkby 1972). Here Culling (1960, 1965), Coleman & Watson
(1983) and Flemings & Jordan (1989), for example, are
followed by representing the sum of these processes as linear
downslope diffusion of material volume. The horizontal
flux, s is related to the local slope, Vi, by

§s=-ushth (6)

where u_is the transport speed, &_ is the vertical height scale

of the erodable surface boundary layer and subscript s de-
notes shortrange slope processes. 4 _and 1 may be combined
as a single transport coefficient K = u_h_, but it is useful to
distinguish between them, partly because they represent
different processes, u_the ease of material transport once it
has become fragmented and, h, the steady-state thickness of
the boundary layer in which cohesion has been destroyed by
weathering. As Carson & Kirkby (1972) explain, &_is gov-
erned by the rock type, the surface processes at work and the
relative timescales of downslope transport versus weather-
ing. In our model the poorly understood problem of weath-
ering is avoided and the thickness of the weathered layer is
represented by parameters 4 _for crustal rocks that have not
been previously transported and & for alluvium created by
the model. An improved model will include the processes
which determine the spatial dependence of &_.

Ifitis also assumed that there is no tectonic transport of the
surface material, that volume is conserved and that the effects
of solution are negligible, the transport equation can be
combined with the continuity equation,

TS ™
to give the linear diffusion equation for the rate of change of
local height, the denudation, inresponse to erosion by the short
range processes,

dh
E=us hsVZh (8)

The short-range transport operates on a regular square
cellular topographic grid, cell side length ¢y (Fig. 2). Transport
to each cell j from its surrounding eight neighbours is con-

sidered in turn on the assumption that during the interval A
the flux is in a dynamically steady state; that is, it does not

Short Range (Hillslope) Diffusive Transport
Model

Figure 2. [llustration of the diffusive transport model on part of the cellular
topography.
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Table 1. Model Parameters, Dimensions, and Values

Model parameters  Dimensions Values
Tectonic model
Internal angle of friction 1] - 20°
Pore Pressure ratio A - 0.36
Density of crust p ML 2800 kg m*?
Viscosity of basal shear zone n ML T 3x 10'¥Pas
Depth of basal shear zone dg L <250 m
Velocity of boundary Vo LT! 2x 10?2 myr!
Increment in boundary
displacement per timestep L 400 m
Duration of tectonic timestep AT T 2x 10%yr
Surface Processes Model: Models 2 & 3
Size of grid LxL 104 x 72 km
Cell size cL X cp LxL (2x 10%) x (2x 10%) m?
Duration of erosion substeps AT/m T 2x 10%yr
Short Range Processes
Transport speed ug LT! 1 x 102 myr!
Erodability height scale hg L
Crust he L Im
Alluvium hq L Sm
Diffusion coefficient K¢ = ughg L2T!
Crust hetig 1 x 102 m?yr!
Alluvium haig 5 x 102m?yr’!
Precipitation
Water flux (in form swl(0) LT 3x 104 myr!
of water vapour) incident
on model
Topographic scale height hg L 4x10°m
Length scale g L 4x10°m
Extraction efficiency ap=hglg L? 1.6 x 107 m?2
Source Model 2 from west (strictly, northwest)
Model 3 from east (strictly, southeast)
Long Range Processes
Long range transport Ky - 102
coefficient
Erosion/deposition If L
length scale
Crust I L 10°m
Alluvium Iy L 2x10°m
Deposition [r=cL 2 L 103m

vary during Ar. If neighbour i is higher than j , the volume of
material transported between the two cells (Qy);; in time Ar is
the space-time integrated form of equation 6 in which all
quantities in capital letters are assumed to be averaged at the
cell scale,

c
(Qg)ij = ushs 2_( 9)

LA
— | At
AL Ji;

(AH /AL);; is the average slope between the cell centres. The
factor c; /2 results from integration of the sediment flux along
arepresentative length of the cell boundary. The total length,
4cy , is shared equally among the eight possible transport
directions (Fig. 2). Thereis notransportupslope tohighercells.
The equivalent space-time integration of the continuity
equation gives the change in height of cell j, (Dy); , (Fig. 2)
once all of the (Qy);; components have been calculated,

8

1
(Ds)j ='2_2(Qs)ij
€ i=1

(10)

4

This explicit method of calculation is valid if the change
inheight is small by comparison with the overall topography,
a constraint that places an upper bound on Vt<<t=c; /ush;.

The effects of ‘dry’ and ‘wet’ (that is, water enhanced)
transport can be considered separately in the short-range
transport model. The overall model remains diffusive with
equation 8 modified to

YR

C
YR

dh

=Uu
d— "

(1+ Y hg V2h (11)

where v, isthe average rainfall accumulation rate and v, is
the rainfall rate required to keep the diffusing layer saturated.
Thevg / v enhancement term can be interpreted as contributing
to increase the downslope transport velocity and/or to in-
crease the steady-state value of /.

The relative rates of ‘wet” and *dry’ transport are not well
known, therefore this paper does not attempt to distinguish
them but instead uses only one average transport coefficient
for each of crustal rocks and alluvium (Table 1). It should,
however, be remembered that the transport velocity or the
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thickness of the eroding boundary layer may vary consider-
ably with aridity and elevation on the scale of a mountain belt.

Long range transport

The long-range transport model represents the cumulative
effect of fluvial transport either as bedload or in suspension.
No attempt is made to distinguish the river type, or any of its
dynamic characteristics. Instead, the local equilibrium sedi-
mentcarrying capacity, q;qlz ofthelong range transport system
is considered proportional to its local power (Begin et al.
1981; Armstrong 1980),

g [=k4 5 (12
where _;\ is the local direction of the river and the product of
the discharge, g, , and the slope, ok /91, is its power. While
equation 12 obviously simplifies the true nature of sediment
transport in a particular river, it does represent the first-order
property of rivers to transport sediment. The form of equa-
tion 12 is also amenable to improvement by making qeqb a
more general function of g, and dh /dl. The simple form is
also consistent with the design of the cellular surface trans-
port model; that it be as simple as possible, involve the least
numberof parameters and yet represent transport ontimescales
> 10° years and spatial scales > 10° m.

Fluvial discharge is related to the net precipitation accu-
mulationrate, vg by conservation of water over the upstream
watershed area,

Long Range (Fluvial) Transport Model

Figure 3. Iliustration of the orographic rainfall model in which the clouds
diagrammatically represent a long-term integrated precipitation source inthe
form of water vapour that is progressively depleted as it passes over one row
of the cellular topography. The corresponding precipitation distribution is
shown in the diagrammatic graph.

A

VR (xy1) I (xy,ypdA,

upstream (x,y)

qxy )lA (xy)=
(13)

AL . . .
where [ is the drainage direction assumed to be down the

steepest slope. vg represents the precipitation that contrib-
utes to surface runoff and that recharges the river system.
Evaporation and infiltration are assumed to be negligible,
although their effect could be added. The dynamically
steady-state nature of the model means that there is no storage
of water and that precipitation is balanced by discharge.

Inordertocalculate the river discharge on the cellular grid,
amodel is required that predicts the precipitation (Fig. 3) and
the calculation of the collection of runoff by the fluvial
network (Fig. 4). For the applications discussed here the
precipitation is taken to be orographic in response to uplift
and adiabatic decompression of moist air as it passes over the
model topography (Fig. 3). This paper considers cases where
the prevailing direction of incidence of the air masses is
normal to one of the boundaries of the grid, taken here to be
the x direction, and that the speed is uniform over the grid and
does not vary with time. These restrictions can be removed
by integrating the equations along flux tubes if a more general
model is required. Let sy, (x = 0) be the flux of water, in the
form of water vapour, per unit length normal to the direction
of flow. Then, conversion of this flux to precipitation rate
VR (x) is assumed to follow the relationship,

dsy,(x) p
UR(X)z_:Tzﬁ Sy (x)

(14)
where ag = hg Ig is an extraction efficiency parameter gov-
erned by the topographic scale height, i ,and the length scale,
Ig , over which 1/e of the available precipitation would be
extracted were h (x)=hg. The physics of orographic precipi-
tation is more complex than this simple model and the ex-
traction efficiency will vary with geographic location and
climate, therefore ag is considered to be a free parameter in
the model. Its value is chosen so that the precipitation agrees
with observations.

The equivalent space-time integrated precipitation, R;, that
contributes to the river system on cell i in time Ar (Fig. 3) is
given by,

i 2 2
Ri=m(sw)i01, Ar=VRlicp A, (15)
where H; is the height of the cell, Vg the average precipitation
accumulation rate, and

i =1

1
_ 0.
Swi=Sw( )C ; > Rn

n=1

(16)

is the average water flux in the form of water vapour over cell
i. The flux S,, (0) can also be considered as the effect of a
water column, height &, (0), that is advected over the
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Long Range (Fluvial) Transport Model

Distributed Rainfall Collected by Drainage
Network

Figure 4. Illustration of the steepest descent drainage network on part of
the cellular topography when precipitation is distributed.

topography with velocity v, X . The summation

n=1,...i- 1 is over the upwind direction from cell i.
Having determined the precipitation, the space-time inte-

grated discharge, from equation 13, for cell j (Fig. 4) is

(AQr)jk = Rj an

where k is the cell among the surrounding eight to which the
descent is steepest and (AQ,)jx 1s the increment in total dis-
charge from precipitation on cell j. The total discharge along
Jk in time Ar (Fig. 4) is

J
@ik = XRy

n=1

(18)

where the summation is over the cells that are upstream in the
drainage network. The river network (Fig. 4) is determined
by evaluating the steepest descent path between cells as a
function of decreasing elevation.

The space- tlgne integrated equilibrium sediment carrying
capacity (i Qf )jk of river segment jk in time At is, from
equation 12,

egh AH

08"k = K Qi (A—L )jk
(19)
Capital letters again represent quantities averaged at the cell
scale.

The fluvial erosion-deposition relationships are based on
the simple physical assumption that the ability of a river to
entrain sediment, both as suspended and bed load, is equiva-
lent to a thermodynamic potential (P. Koons pers. comm.
1990) and is governed by a first-order reaction in which the
reactionrate is proportional toarate constant, /f, and the degree
of disequilibrium in the fluvial sediment flux as it moves in
a Lagrangian sense along a river,

(20)

dqu /
_l‘_("f ) "f)

b
where qjcq and gf are local equilibrium and local, integrated

A . . . ". . .
fluxes and ! 1is the local river direction. This reaction

equation is equivalent to the more usual form written on the
concentrations because the integrated flux, gr =curAf,is
proportional to the local mean sediment concentration, c, in
adynamically steady-state river which has constant sediment
transport velocity, vf, and constant cross section Af.

In a stationary (Eulerian) coordinate system,

dg. dq
i L. ..
=3 +vf qu 21

which reducesto v ) LA dqf / dl
which assumes that fluxes do not vary with time during the
interval Ar. Under these circumstances the time depend-
ence of erosion or deposition takes the form of a spatial

dependence,
dg
$2( - )]
e 'f f

in our steady-state model

22)

where Ir = vy tf. For constant v, Ir is a material property, the
erosion-depositionlengthscale required forthe disequilibrium
to be reduced by 1/e when qjcq is constant.

When ¢f < q;q , the river either entrains alluvium cre-
ated by the model, in which case If =14, or erodes the channel
bedrock in which case Ir=/., where [.>>1,, When

g > qf , sediment is deposited from the overcapacity river
with a small lr<ly,as discussed below. These relationships
illustrate the asymmetry between the control of erosion by a
long /., equivalent to a large t¢, and control of deposition by
ashort Ir, equivalent to a small 7. An implicit assumption
is that steady-state is achieved in t << Ar or, equivalently that
If << At

The space-time integrated form of equation 22 for erosion
or deposition between cells j and k in time Ar is

[Qeqb Qf]/k

where o=1 for adjacent cells and 22 for diagonally con-
nected cells. The corresponding change in height of cellj in

time At is,
(Op); ‘_Z(AQf)m
L p=1

(A0 = (23)

24

where the summation is over river segments entering and
leaving cell j, and (AQy)j, =-(AQf)nj. By taking I =cp /2
for deposition, it is ensured that excess sediment is deposited
within the cell where the overcapacity developed. These
explicit integrations are valid when c¢f <<If, but deposition
at a scale less than ¢y is not resolved. In addition, by
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Long Range (Fluvial) Transport Model

Sediment Transport Capacity

Figure 5. Illustration of the difference between the integrated fluvial
transport capacity onto and away from a topographic cell.

evaluating (Q,)j in the order of cells ranked by descending
elevation and simultaneously calculating (erqb ik (Qf ik »
and (AQf )jk avoids the need to calculate and store any
information about the overall pattern of the drainage network.

Calculation of fluvial erosion on cell ! (Fig. 5) requires
summation of the sediment transported onto the cell by the n
rivers draining higher cells in the network,

Qv = Z(Qf)nl (25

The maximum transport capacity of the river draining / to k

b
is (erq )y - Figure 5 illustrates the example where the

inflowing rivers onto / were at or near capacity and precipi-
tation on /, Ry, did not significantly increase the discharge.
There is also a large decrease in the downstream slope from
I to k, therefore, sediment, thickness (Dy);, isdeposited oncell
1. Ttfollows that all sediment is deposited at a local minimum
in the topography. This paper does not, however, considerthe
formation of alake orits outflow. Figure 6 illustrates the next
step in the drainage between cells k and p. Evenif there is no
precipitation on k , erosion equal to (Dy); will occur because
the downstream carrying capacity increases by
(AQf)kp With the increase in downstream slope.

Model of the Southern Alps, New Zealand

The Southern Alps of South Island, New Zealand are the
topographic expression of a young (~ 5 Ma old) collisional
orogen that is a good example of the processes that we wish
to investigate (Fig. 7). Space limitations restrict our discus-
sion of its development but Norris et al. (1990) describe the
current state of knowledge of this orogen. Furthermore,
Koons (1989, 1990) and Norris ez al. (1990) discuss models

Long Range (Fluvial) Transport Model

Figure 6. Hlustration of the consequence for erosion or sedimentation of
disequilibrium in sediment transport onto and away from a topographic cell.

of the tectonics and erosional setting of the Southern Alps.
While their models differ from our quantitative coupled
model, many of the underlying concepts, which were in part
developed during discussions with Peter Koons, have the
same basis.

The plane-strain finite element model (Fig. 8) represents
a 700 km wide region that is normal to and spans the Pacific-

Figure 7. Geographic and plate tectonic setting of South Island, New
Zealand. The velocities are the estimates for the current average motion of
the Pacific plate with respect to the Indian plate. The relative motion is
absorbed within the deforming plate boundary. Region labelledR and shown
stippled is the one considered in the modelling.
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Figure 8. Plane-strain finite element model used to represent the tectonics of compressional deformation of central South Island, New Zealand. The grid

has 59 x 31, 4-noded quadrilateral elements.

Indian plate boundary through central South Island. The
width of the model was chosen to be greater than the plate
boundary zone (Walcott 1984), therefore, the relative plate
velocity component normal to the Alpine fault (Fig. 7),
presently ~ 2 cm/yr, is absorbed by crustal deformation
within the modelled region. The corresponding ~ 4cm/yr
relative plate velocity parallel to the boundary is not included
intheplane-strain model. This paper therefore considersonly
the effect of compressional deformation on the growth of the
Southern Alps in this example of the coupling of tectonics and
erosion.

It is assumed that to the right of the ramp of the Alpine
fault, shown dipping at 45° at the centre of the model (ED,
Fig. 8), crust of the Pacific plate is progressively decoupled
from the underlying lithosphere along a sub-horizontal shear
zone, located above the base of the model CD. Crust of the
Indian plate, in the footwall of the Alpine fault below ED, is
not included in the model because it remains rigid. Instead,
the model follows the conceptual interpretation, first pro-
posed by Wellman (1979) and subsequently by Adams (1980,
1985), that detached mid and upper Pacific plate crust is
upturned and rapidly upthrust along the ramp of the Alpine
fault.

Crustal properties

The finite element model includes the Pacific plate crust in
and above the basal shear zone and east of the Alpine fault.
The depth of the model (BC, Fig. 8) was chosen on the
assumption that continued deformation and erosion has ex-
posed rocks from as deep as the basal shear zone at the surface
in the hanging wall adjacent to the Alpine fault; above E. The
highest grade metamorphic rocks from this location are gar-

net oligoclase gneiss, which on the basis of the phase as-
semblage kyanite-quartz-talc indicates an equilibration depth
~25km (Cooper 1980). This depth was therefore taken as the
depth of the model shear zone. Although this depth remains
poorly determined, the choice is consistent with interpreta-
tions that typical continental lithosphere tends to delaminate
at mid-crustal levels. The choice of model depth can also be
testedaposteriori for consistency with observations because
the predicted width of the zone of deformation and uplift is
related to the assumed geometry and can be compared with
the width of the Southern Alps.

The 2km thick region of the model above the rigid Indian
plate (i.e. above region FE) represents crust and cover rocks
that may thicken and detach to form a thin-skinned fold and
thrust belt when subject to stress transmitted across the Al-
pine fault. Thisregion is included in order to investigate how
deformation might propagate westward with the growth of
the Southern Alps were there no erosion. That this region has
not deformed requires explanation.

A plastic-viscous rheology is used to model a frictional
crustal rheology with a basal shear zone. When the internal
angle of friction of the Drucker-Prager plastic material is
taken to be 20°, the yield strength in compression, in crust
density p = 2800 kg/m”®, increases linearly with depth to ap-
proximately 300 MPa at 20km. This yield strength with
depth relationship approximates a uniform gradient form of
Byerlee's Law (Brace & Kohlstedt 1980) in a thrust envi-
ronment for a pore pressure ratio, A = 0.36.

The transition from brittle-frictional behaviour to the
ductile regime, represented by a linear viscous (Newtonian)
rheology, is assumed to occur in a thin, basal shear zone,
thickness d; = 250m along DC, of effective viscosity, n, =
3x10'8Pas. Itcould be argued that the model should include
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an ~ 5 km thick transition zone of decreasing effective
viscosity below the brittle-ductile transition, which may be as
deep as 20 km in a quartzo-feldspathic crust with a 20°C/km
geothermal gradient (Ord & Hobbs 1989). This transition
would require more, poorly determined, model parameters
and is itself only inferred on the basis of laboratory data.
Instead, the crustal rheology is purposely simplified. The
present model focuses on the interplay between integrated
frictional strength of the crust, specified by ¢, and the op-
posing strength of the basal shear zone, characterized by the
shear stress, T < 1, ¥ / dg, that it transfers from the boundary
to the base of the frictionally dominated crust; where
v <V, = 2cm/yr is the relative velocity across the shear zone
and is the specified boundary velocity. The model results are
therefore sensitive to the ratio 7, / d; = 3 x 10'® /250 which
determines 7, and not to the independent values of 17, and d,
to which no particular importance should be assigned.

The shear zone thickness decreases linearly with decreas-
ing depth along the ramp DE and is 40 m thick beneath the
region of the compressed finite elements along FE. This re-
duction in d; could be compensated by a corresponding re-
duction in 71, but this was not done in order to increase the
shear coupling in the colder, near surface, part of the crust. An
improved model will consider a frictional base in the shallow
parts of the model.

Boundary conditions

The behaviour of the lower crust and mantle below the
modelled region dictates the basal boundary conditions.
Simple buoyancy calculations suggest that typical continen-
tal lithosphere below ~ 25 km is negatively buoyant and will
subductif detached from the mid and upper crust. In thismodel
itis assumed that the lower part of the Pacific plate has detached
and, following Adams (1985), that ithas passively underthrust
the Indian lithosphere to the west in a similar way to the
oceanic lithosphere further north except that the process is
aseismic. This interpretation requires that the basal horizon-
tal velocity along DC be equal to the Pacific plate velocity and
equal to the uniform horizontal velocity along the boundary
BC. These velocities are both taken to be v, =-2cm/yr and the
boundary on the Indian plate along AFED is fixed with
v =0. The model therefore considers compression of the
Pacific plate crust as it is ‘pushed’ by the net normal force
along BCand is ‘dragged’ by the shear, 7, that develops along
DC. This interpretation is entirely equivalent to that which
takes v along BC to be zero and considers the indentation of
the Pacific plate by the rigid Indian plate, v, =2 cm/yr, which
acts as a tectonic wedge in the manner described by Price
(1986). The former boundary conditions are preferred only
because the location of the Alpine fault remains fixed in the
model. It may actually be rotating in an absolute reference
frame (Allis 1986).

Points along boundaries AF and BC are free to move
vertically but this is not important because they are far enough
removed from the plate boundary that deformation does not
propagate to them. The upper boundary of the model is a free
surface on which the shear stress is zero.

This tectonic interpretation implies that the sense of shear
will be dextral along FED but sinistral along DC. In the
absence of any additional net plate tectonic forces transmit-
ted through the crust as a stress guide, i.e. along BC and AF,
it is the opposing basal shear stresses that give an overall
initial force balance to the model. An alternative kinematic
interpretation (Allis 1980, 1986) holds that the underthrusting
is opposite in sense; that the Indian plate underthrusts the
Pacific plate as it does south of New Zealand beneath the
Puyseger trench and probably beneath Fiordland. This choice
of polarity reverses the sense of shear along DC and will,
everything else being equal, tend to transfer deformation
eastward away from the Alpine fault. It also requires addi-
tional forces, probably transmitted as shear from out of the
plane of the model, to maintain an overall force balance.
Although Allis’s interpretation cannot be precluded and may
be correct for the southern part of South Island we choose the
simpler one to illustrate our coupled tectonic-erosion model.
This model may therefore apply only to the central Southern
Alps.

Surface processes model and coupling with the tectonic
model

It is assumed for the purposes of this illustrative model that
the current morphology and drainage pattern of the Southern
Alps is not significantly influenced by the ancestral drainage
pattern that predated the Late Cenozoic uplift as transpression
developed. Model experiments show that this assumption is
valid for random height topography of ~ 20 m but the
maximum ancestral topography that is consistent with this
assumption has not yet been determined. The initial surface
was therefore assumed to be flat and at sea level. Small
random height perturbations were then added to remove the
degeneracy in the cellular grid heights and to create arandom
drainage pattern.

The model is progressively stepped in a coupled way,
alternately calculating the tectonic velocity and displacements,
followed by the effect of the two components of erosion
acting on the current topography. Specifically, the uplift
distribution normal to strike, uy, (x), predicted by the tectonic
model for timestep n, length AT, is divided into m equal
substeps, u)' (x) ,length Az, for the surface processes calcu-
lation. The surface transport was then calculated over the m
substeps, each step involving uplift of the topography by an
increment uy, (x) /m, such that uplift varies in the cross-strike
direction but is uniform along strike. The substeps are
required to ensure that fluxes for each step are small by
comparison with the total topography. The precipitation
distribution was calculated separately foreach substep because
the topography changes with substep.

Feedback coupling between the surface processes model
and the tectonics is calculated prior to the next step, n+ 1, of
the tectonic model. The current average along-strike topog-
raphy from the surface model defines the new surface for the
tectonic model. The tectonic model, therefore, incorporates
the changing average mass of the growing mountains. Their
weight influences the gravitational component of the subsur-
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Figure 9. Model 1 results. Evolution of the plane-strain model in the absence of erosion. Velocity vectors are relative to a fixed Indian plate and show
the progressive transformation of horizontal to vertical motion in the deforming plate boundary. Thrusting over the ramp of the Alpine fault, which acts as
a finite height ‘backstop’, produces a westerly vergent tectonic wedge. Similarly, easterly vergent ‘backthrusting’ creates a second outward facing tectonic
wedge on the eastern flank of the orogen. Bold horizontal arrows show the total amount of shortening, d.

face stress and ultimately modifies the pattern of deformation
and uplift during the # + 1 'th tectonic step by comparison with
the n 'th step.

Model results

The three models discussed here are only preliminary results
and were chosen to illustrate how climate coupling and
denudation may control the evolution of the Southern Alps
for one particular interpretation of the tectonic style and
properties of the orogen. The tectonic properties of all three
models (Table 1) are identical. The evolution when there is

no climate coupling or erosion is first examined and then two
cases where denudation is dominated by fluvial transport
with orographic rainfall derived from either a western or
eastern source are considered. '

Model 1: No erosion

The geometry and velocity distribution of model 1 are shown
(Fig. 9) at the onset of deformation and again after ~ 0.2 and
~0.8 Ma, at which time the overall shortening is 4 and 16 km.
The results illustrate that the model does respond by upturning
the crust and thrusting it along the ramp of the Alpine fault.
The initial velocity field comprises a region of passive hori-
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Figure 10. The same model result as shown in Figure 9 (middle panel) but with velocity vectors shown relative to a fixed Pacific plate. The easterly vergent
tectonic wedge caused by backthrusting is seen clearly in this reference frame.

zontal transport of the Pacific plate crust without deformation
and a region of uplift and deformation in a triangular wedge
or ‘plug’ bounded by the ramp and its reflection about a
vertical axis through D (Fig. 8). The initial width of the
uplifting region is therefore approximately twice its depth
when the dip of the ramp is 45°.

The initial style of deformation resembles the first of
Wellman’s (1979, Fig. 4) conceptual models of possible
faulting patterns for the Southern Alps. His concern that this
style would lead to an unrealistically steep eastern margin for
the Southern Alps was unfounded as is seen from the topog-
raphy after finite deformation (Fig. 9, middle panel).

The central region of the orogen continues to uplift in a
relatively uniform manner, while the leading (western) and
trailing (eastern) zones take the form of outwardly propagat-
ing tectonic wedges which increase in size with the uplift.
The taper of the wedges depends on the internal frictional
strength of the model crust, the basal dip, and the shear stress
applied to the base of the frictional crust by the viscous shear
zone. The results differ from the critical Coulomb wedge
models (e.g. Dahlen 1984) because the model considers the
development of a two-sided orogen and because the base of
the model is viscous not frictional. The equilibrium topog-
raphy therefore depends on the convergence velocity, in ad-
dition to the current geometry. The results have properties in
common with Koons’ (1990) conceptual models but differ
because no significant basal decollement develops for this
amount of shortening. The importance of the eastward
propagating wedge becomes clear when velocities are plotted
with respect to the Indian plate (Fig. 10).

It can be seen that only a small amount of shortening,
<6 km, is required to create a mountain system with the same
average height and width as the present Southern Alps.
Shortening by a more realistic amount, 50 km for example,
would have produced a much larger orogen by the addition of
approximately 1250 km? per unit length of crust to the South-
ern Alps orogen, enough to thicken the crust by 20 km over
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a 60 km wide zone normal to strike. Although some of this
excess mass almost certainly resides in thickened crust lo-
cated to the east of the Alpine fault (Woodward 1979; Allis
1986), a significant proportion has apparently been eroded.
Note that the model must be improved to include isostasy
before firm conclusions can be made. Further evidence of
erosional control of structure is the absence, except for a few
nappes, of a thin-skinned fold and thrustbelt westof the Alpine
Fault. The model indicates that this westward propagating
wedge would develop rapidly and achieve a significant size
after only 16 km of shortening. It would be a fully fledged
fold and thrust belt after 50 km of shortening.

Model 2: wind from the west

The second model (Figs 11 & 12) includes the effects of
surface erosion by slope processes and a fluvial system
recharged with orographic precipitation from a western source.
Model parameter values are given in Table 1. The evolution
of the tectonic model (Fig. 11) shows the strike average re-
sponse as the surface uplifts and the orographic precipitation
develops. The volume of sediment transported by denudation
equals the rate of tectonic influx at ~ 0.5 Ma, d = 10 km of
shortening, after which the orogen remains on average in a
dynamically near steady state as discussed below.

Erosion on the western flank of the mountains dominates
because the precipitation is greatest on that side and because
the boundary condition on the surface transport model rep-
resents the Tasman Sea (x =332km, Fig. 9) as an infinite sink
for eroded sediment. This choice is appropriate because most
of the sediment that enters the Tasman is transported to the
south. The boundary condition on the east is the same, while
the north and south boundaries are reflective.

The strike-averaged precipitationdistribution has the same
character as that shown by Griffiths & McSaveney (1983,
their Fig. 2; see also Whitehouse 1988) a maximum to the
west of the main divide but some precipitation on the eastern
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Figure 11. Model 2 results. Evolution of the plane-strain model when orographic precipitation is derived from a westerly source. Velocity vectors are relative
toa fixed Indian plate. The dotted lines show the projected position of the initial surface. The westerly vergent tectonic wedge of Figure 9 has been suppressed
by erosion. The western sink for mass also stunts the growth of the orogen as a whole and a near steady state is reached with only a small easterly vergent
tectonic wedge. It is clear that erosion has modified structural and metamorphic style throughout the model orogen, not just locally. Bold horizontal arrows

show the total amount of shortening, d.

flank. Agreement of the model precipitation with short-term
observations is not independent confirmation that the model
is correct because the timescales are totally different. The
model rainfall must represent processes at > 102 yrs.

The dotted lines (Fig. 11) show the position of the original
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surface projected by its cumulative vertical displacement.
The distance between the model surface and the dashed line
is, therefore, a measure of the total erosion in the spatially
fixed model coordinate system. It would equal the exhumation
experienced by rocks currently at the surface were the uplift
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Figure 12. Map of Model 2 topography at 0.5 Ma after 10 km of shortening. The contrast in the drainage pattern and morphology east and west of the divide
is also characteristic of the central Southern Alps. The contour interval is 600 m, heights above 3600 m are stippled, and the area is 104 x 72 km. The cell

size for the calculations was 2 x 2 km. Only the major rivers are shown.

vertical. However, the horizontal velocity advects the uplift-
ing crustprogressively tothe westand rocks reach the surface
horizontally offset fromtheir original position. Consequently,
once steady state has been achieved, the highest grade meta-
morphic rocks, those exhumed from the greatest depth, will
reach the surface of the model adjacent to the Alpine Fauit.
This result agrees with the observed distribution of meta-
morphic grade, which is a maximum at the Alpine fault and
decreases to the east. It also follows that rocks which have
undergone the greatest exhumation do not reach the surface
where the erosion rate is greatesteven in asteady-state orogen.
This is an important point to remember when interpreting the

tectonics of ancient orogens on the basis of distribution of
metamorphic grade. The metamorphic grade is, however, a
measure of the integrated erosion in the tectonic ‘upstream’
direction and the horizontal gradient of exhumation is the
quantity most closely related to the spatial distribution of
surface erosion.

The contour map of the topography (Fig. 12) for model 2
after 0.5 Ma has a number of features that can be related to
the topography of central South Island in the area shown in
Figure 7. It is important to remember that the morphology
and river system distribution has been self-selected by the
model as it evolves from the initial low amplitude random

13
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Figure 13. Model 3 results. Evolution of the plane-strain model when orographic precipitation is derived from an easterly source. The source has the same
water vapour flux at its eastern boundary as Model 2 had at its western boundary. Velocity vectors are relative to a fixed Indian plate. The dotted lines show
the projected position of the initial surface. Bold horizontal arrows show the total amount of shortening, d.

topography. The topography therefore contains information  created an along-strike ridge-valley system. The ridges have
on the dynamic interaction of uplift with the surface proc- steep noses, lower gradient centres and rise again to the east,
esses which will be analyzed in a future paper. where they climb to the divide. The valleys have strongly

West of the drainage divide, the front of the model orogen  concave profiles. These are the same features that Koons
is cut by linear streams, spaced from 6-12 km apart, thathave  (1989) recognized as characteristic of the western face of the
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Southern Alps and reproduced with a planform diffusive
mass transport model. In this model he specified the river
spacing and valley topography. Here the river spacing is self-
selected, and need not be imposed, when fluvial transport is
included in the model. The spacing of these small rivers,
which is similar to that of the central Southern Alps, results
from the competition between hillslope and fluvial processes
during uplift. Initially, all of the one hundred rivers equally
drain and erode the western face of the model orogen, but an
instability occurs with increasing slope and fluvial discharge
which leads to finite incision of rivers with the spacing shown
in Figure 12. This instability may be related to slope con-
cavity (Smith & Bretherton 1972) but our model is compli-
cated by the additional effects of diffusion and erosion/
depositionkinetics. Atleast one aspect of the river selection,
growth and incision requires that when a cell height is per-
turbed, the change in AQy from the cell be larger than the
corresponding change in Q; onto the cell. The same compe-
tition may explain why the main rivers on the eastern slope of
the model orogen are more widely spaced than their west-
ward-drainage counterparts. The eastward-draining rivers
have smaller equilibrium sediment carrying capacities for
equivalent sized watersheds. Therefore, only rivers that
acquire large discharge by developing large watersheds can
achieve the same degree of incision as their western equiva-
lents.

The main peaks that resemble Mount Cook are located on
orclose to the drainage divide (Fig. 12). The true counterparts
of the model ridges east of the divide and normal to it may be
the southerly trending ridges of the Southern Alps. It is
suggested that the distributed plate-boundary shear strain has
rotated what were initially ridges trending perpendicular to
the orogen and propose to test this hypothesis with acomplete
planform model of thin-sheet tectonics coupled with erosion
(Ellis et al. in press).

The near steady-state nature of the model orogen (Fig. 11)
for ¢> 0.5 Ma was judged qualitatively from the change in
strike-averaged topography by comparison with the same
measure of the erosion between r = 0.5 Ma and f =0.8 Ma
(Fig. 11). The results indicate that the volume or mass of the
orogen is approximately in dynamic equilibrium. Individual
topographic features are not, however, in equilibrium. For
example, the westward draining rivers become longer with
increasing time.

The present model cannot provide a quantitative assess-
ment of the morphological evolution because the topography
is neither advected nor strained by the tectonic deformation
in the horizontal plane. The results are therefore no longer
valid when the effects of horizontal advection become sig-
nificant. For example, the rate of advection of the topography
toward the Alpine fault is almost equal to the predicted rate
of increase in the length of the westward-draining rivers.
Once advection of the topography has been added to the
model, it will be possible to assess whether a statistically
steady-state topography can exist and track the birth, growth
and death of the Mount Cook-like mountains as they are
advected across the model.
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Model 3: wind from the east

The third model (Figs 13 & 14) is identical to model 2 except
that the precipitation is now derived from an eastern source,
which is exactly opposite to the prevailing conditions in the
Southern Alps. Model 3 is therefore a hypothetical example
designed to indicate how the Southern Alps may have devel-
oped with reversed symmetry in the climate.

As the surface uplifts and orographic rainfall develops, the
eastern flank of the orogen is subject to the greatest precipi-
tation and erosion. Erosion on the tectonic divide and on the
west flank of the orogen is therefore reduced by comparison
with model 2. Consequently, the western flank of the orogen
continues to uplift and a major range of peaks is created which
sit astride the divide. All of these peaks exceed the height of
Mount Cook within 0.5 Ma of the onset of compression (Fig.
14). They continue to grow and begin to assume Himalayan
stature after approximately 1 Ma of convergence.

River incision of the western flank is less well developed
(Fig. 14) than in model 2 (Fig. 12) because the fluvial
discharge is smaller. The instability that leads to incision is
therefore delayed until the slopes are steep enough for the
rivers to achieve sufficient power. In Figure 14, the instabil-
ity has not fully developed along the entire western flank. The
steepness of the western face is, however, preserved by the
flux boundary along the western side which mimics the
effects of longshore transport in the Tasman Sea.

Creation of Himalayan-size mountains occurs with in-
creasing speed as the extraction efficiency of the precipitation
is increased. For example, when ag is increased by a factor
of three, precipitation is nearly exhausted east of the drainage
divide which now develops only 10 km from the model
coastline (Fig. 15). The divide is crowned by 8000 m peaks
within 0.8 Ma of the onset of compression.

Correspondingly, as ag increases in models with an east-
ern precipitation source, the implied belt of highest grade
metamorphic rocks migrates eastward away from its position
against the Alpine fault and may even cross the drainage
divide. With declining precipitation on the western flank,
neither erosion nor horizontal advection are sufficient to ex-
pose deeply buried rock against the model Alpine fault. The
influence of erosion patterns on exhumation raises the possi-
bility that the present location of the Alpine fault is partly
controlled by the surface processes.

Conclusions

Both the model and the results as preliminary and only
general conclusions are valid. The results do, however,
indicate that in instances where the surface mass transport
occurs over distances and at rates comparable to the tectonic
mass flux, orogenic evolution may be significantly modified
by climatic conditions at the scale of the orogen. One
implication is that because precipitation is often asymmetric
across an orogen, given sufficient time, the orogen may adopt
the same asymmetry in its tectonic style.

Proof of climate influence on the tectonics of ancient
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Figure 14. Map of Model 3 topography at 0.5Myr after 10 km of shortening. The contour interval is 600 m, heights above 3600 m are stippled, and the
area is 104 x 72 km. The cell size for the calculations was 2 x 2 km. Only the major rivers are shown.

orogens will necessarily be based on circumstantial evidence.
South Island, New Zealand, however, offers a dramatic
contemporary example of these process at work. Control of
this orogen is shared between plate tectonic and surface
processes. The dynamic linkage between tectonics and
erosion is provided by the atmosphere. Prevailing climatic
conditions ensure a sufficient source of orographic rainfall
which, when coupled with the tectonically induced steep
western slopes, locks the orogen in a dynamically near
steady-state mass balance.

These models are only first-order approximations of the
evolution of orogens in general, and the Southern Alps, in
particular. If it is accepted that model 2 does reproduce some
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of the major characteristics of the southern Alps, then com-
parison with models 1 and 3 illustrates the significance of the
coupling between the atmosphere and the solid earth.
Timescales of 0.5 - 5.0 Ma may be sufficient for profound
climatic effects in collisional orogens.

Not all orogens are, or were, as strongly modified by
climate coupling as the Southern Alps - an extreme example
chosen to demonstrate this thesis. It is possible to suggest
that, if the Himalayan orogen was subject to intervals of
steady-state evolution, these may have been responsible for
the exhumation of the belt of highest grade metamorphic
rocks.
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Figure 15. Model 3 results. Evolution of the plane-strain model when orographic precipitation is derived from an easterly source. The model is identical
with the one shown in Figure 13 (bottom panel) except that the rainfall extraction efficiency has been increased by a factor of 3.
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Abstract: Deformationand structural relationships inaccretionary prisms and fold and thrust belts
are the result of dynamic changes in the size, geometry, or strength of the deforming wedge and
its boundary conditions. The concepts of critical slope or taper that have been successful in
explaining the static geometry and state of stress in a Coulomb wedge can be expanded through
the use of finite element models to consider the kinematics and dynamics of a deforming Coulomb
wedge. The numerical technique adopts a Coulomb failure criterion and isotropic plastic flow in
a velocity-based Eulerian formulation. This formulation allows for very large deformation to be
accommodated by a numerical mesh that remains fixed in space, deforming only to follow the
movement of the upper surface.

Critical wedge theory defines deformational domains bounded by the critical wedge solutions.
Imposed changes in boundary conditions or geometry can move the mechanical state of a wedge
off a critical line into either the sub-critical or stable domain, in which a wedge is unstable during
accretion, leading to transient deformation as the wedge adjusts to a new critical geometry.
With steady boundary conditions the accretion process leads to self-similar growth. A zone of high
strain rate representing the frontal step-up thrust and the decollement develops and separates
underthrust sediment from the deforming wedge. An increase in basal strength produces large
internal deformation as the wedge increases its taper. A decrease in basal strength concentrates
deformation at the toe of the wedge. A large decrease in basal strength may lead to extensional
collapse. A complex geological history involving repeated cycles of growth and collapse could
produce tectonic exhumation of the deeply buried interior of the wedge, even in the absence of

erosion.

In compressional tectonic regimes much of the convergence,
at least at upper crustal depths, is manifested by shortening
and thickening of a fold and thrust belt. However, at less than
crustal scale, styles of deformation and the kinematics of the
development of a fold and thrust belt can vary greatly. The
classic model of a forward propagating sequence of thrust
faults remains an important component of most or all thrust
belts and plate margin accretionary wedges, but other large
scale deformational processes including out-of-sequence
faulting (Morley 1988), sediment underplating (Moore et al.
1982; Platt er al. 1985; Platt 1986, 1987; Westbrook et al.
1988) and even extension (Platt 1986) have been recognized
as contributing to the observed structure of thrust belts or
compressional orogens as a whole. Along with arecognition
of the complexity of the large scale structural and temporal
relationships in thrust belts has been an acceptance of the fact
that thrust belts, and even entire orogens, behave as a me-
chanical entity. This has led to the development of a number
of continuum models for the mechanics of thrust belts.
Continuum models have generally addressed one of two
aspects of thrust belt mechanics; (1) the geometry and state of
stress within the thrust belt; or (2) the kinematics of material
transport through the thrust belt. Chapple (1978) presented a
model for the state of stress in a thrust belt assuming it acted
as a plastic material with the stress everywhere at the yield
stress. Stockmal (1983) used slip line theory to expand this
model and to calculate both stress and internal velocities
based on the thrust belt geometry and assumptions regarding
the slip velocity on the underthrusting plate. Davis et al.
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(1983) argued thata Coulomb yield stress was more appropri-
ate for thrust belts than the depth-independent von Mises
yield criterion used by Chapple (1978) and Stockmal (1983).
They presented solutions for the state of stress in both non-
cohesive (Davisetal. 1983) and cohesive (Dahlen et al. 1984)
Coulomb thrust belts based on approximately wedge shaped
cross-sectional geometries, modified to include the effects of
pore fluid pressures. Subsequent work addressed changes in
cohesion associated with compaction and lithification (Zhao
et al. 1986). Dahlen (1984) presented an exact analytic
solution for the state of stress in a non-cohesive Coulomb
wedge. This Coulomb wedge theory has been widely applied
as it provides a simple explanation for many features of
accretionary wedges and fold and thrust belts.

The other class of continuum models was designed to
address the kinematics of the deformation internal to a thrust
belt or convergent orogen. A dynamic model of flow of a
linear viscous fluid inside a rigid corner was proposed by
Cowan & Silling (1978) to explain scale models and exhuma-
tion in convergent settings. This corner flow model was
developed further by Cloos (1982, 1984) who proposed
viscous flow as a mechanism for emplacing exotic blocks in
melange terranes, and by Shi & Wang (1988) who calculated
pressure-temperature paths in the Barbados accretionary
prism. Cloos & Shreve (1988a, 1988b) developed a similar
model for viscous flow in a confined channel under an
accretionary wedge. These linear viscous models are attrac-
tive because, in contrast to the plasticity solutions, particle
velocities and flow paths are easy to calculate. However,
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rocks are not likely to deform in a linear viscous fashion, at
least not at near surface pressure and temperature conditions,
so the stresses and even the kinematics of these viscous
models are suspect.

Other less quantitative models for the kinematic develop-
ment of tectonic wedges have been proposed. Silver et al.
(1985) proposed that growth of an accretionary wedge is best
accomplished by systematic underplating and duplexing such
thatthe taper predicted by critical wedge theory is maintained.
This model is consistent with the observation that sediments
draped over the slopes of accretionary wedges are often
undeformed, implying the internal wedge is not undergoing
significant horizontal shortening. Platt (1986) also proposed
underplating as an important mechanism in compressional
orogens, but claimed that this leads to oversteepening of the
wedge and hence extensional deformation in the near surface.
In Platt’s (1986) model this extension serves as a mechanism
for unroofing and can explain the rapid exhumation of high
pressure metamorphic terranes without invoking high rates of
erosion.

Erosion has often been proposed as a driving mechanism
fordeformation or as a process controlling the kinematics and
pressure-temperature-time (PTt) conditions experienced by
rocks in a compressional orogen. Erosion was implicit as a
driving force in the viscous flow model of Shi & Wang
(1988). Beaumont et al. (1991, this volume) demonstrate that
erosion is capable of controlling the PTt paths internal to an
orogen, and that erosion can determine the spatial charac-
teristics and distribution of deformation. Dahlen & Barr
(1990) presented a model of the kinematics of the Taiwan fold
and thrust belt that is consistent with critical Coulomb wedge
theory by explicitly coupling the internal strain rate to the
theoretical stress field. The system is then driven by the
distribution and magnitude of erosion. This model was used
toexplain PTt paths and conditions in the wedge as well as the
system energetics (Barr & Dahlen 1990), but the model
remains kinematic in that the geometry and stress are assumed
rather than calculated as part of the solution.

Numerical techniques can potentially include the best
aspects of each of these models. Finite element methods,
developed for plasticity problems, are based on deformational
formulations; displacements or velocities are obtained together
with the stresses as part of the solution. This approach
eliminates the need to choose between a plastic formulation
in terms of stress and a kinematic formulation in terms of
displacement or velocity. For this reason, and because of the
generality of the method inallowing specification of theology,
geometry orboundary conditions, finite elements have become
increasingly popular for modelling lithospheric deformation
(e.g. Bird & Piper 1980), including accretionary wedge
mechanics (Borja & Dreiss 1989).

In this paper the Coulomb plastic rheology is adopted in
a finite element technique that yields the particle velocities
and hence kinematics of deformation along with the stress
solution. Results of this model predict the dynamic velocity
field and deformation in a growing Coulomb wedge that
remains at yield as in the critical wedge theory. The gener-
ality of the numerical technique allows for modelling of the
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Figure 1. Critical Coulomb wedge model for a fold and thrust belt.
Orientation of principal compressive stress with respect to surface slope and
basal decollement.

stresses and deformation in a wedge that is changing its taper
geometry in response to changes in driving boundary stresses
and this case is also considered. The kinematic implications
for movement of material in these dynamic velocity fields are
discussed.

Critical wedge theory

Before presenting the numerical model, a review of critical
wedge theory is useful to establish the conceptual frame work
of the problem and provide a context for the numerical
models. In the non-cohesive theory, a dry, subaerial thrust
belt or accretionary wedge is assumed to have a triangular
cross-section (Fig. 1) with characteristic surface slope angle
o and basal dip B (Dahlen 1984). Stresses in the wedge are
assumed to be at the Coulomb yield stress, so that

T = Gptan o (1
where T and o, are the shear stress and normal stress on a
plane; the internal angle of friction ¢ defines the strength of
the material. The boundary condition imposed at the base of
the wedge is of the same form as equation (1), with an angle
of friction of ¢,. If the wedge can be treated as infinite in
extent, a simple geometric solution is obtained, following
Dahlen (1984), in terms of the orientation of the maximum
compressive stress which is constant throughout the wedge
andforms angles of & and ¥, with the upper surface and basal
surface respectively. The angles 9, _and 9§  are functions of
the strength of the wedge and of the base,

o =Ll l:sin oc] o
= =sin -=
° 2 sin @ 2 2)
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9y = sin” [%} —% 3)
The geometric relationship requires that,
o+ P=0p-9
4

A simple relationship therefore holds between the geom-
etry of the wedge and the strength parameters through
equations (2), (3) and (4).

The critical wedge solutions define a four dimensional
surface in terms of the parameters o, B, ¢, and @y,. Two sec-
tions of this surface are shown in Figure 2 for ¢ = 30° (Figs
2a & 2b), ¢, = 10° (Fig. 2a) and B =0° (Fig. 2b). Curve I gives
the minimum slope geometry for a compressional wedge and
is presumably the geometry of wedges that have grown from
a flat surface. Continuous deformation keeps the wedge at
this critical geometry as new material is accreted. This
solution is consistent with the sandbox experiments of Davis
etal. (1983). A wedge with geometry and strength state that
lies on line Il is also critical, but differs in its state of stress in
thatitis under horizontal tension and will deform by horizontal
extension and downslope flow. The two lines I and II are
sections of surfaces that are the boundaries of domains in o-
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Figure 2. Critical Coulomb wedge solution (a) as function of surface slope
o and decollement dip P (after Dahlen, 1984) with ¢=30° and ¢, = 10°; (b)
as function of surface slope o and basal strength ¢, with ¢=30° and f=0°.
1 and I represent the critical wedge solutions. I11 is the region of subcritical
wedges whose taper is less than critical. IV is the region of stable wedges
whose state of stress is less than the Coulomb yield stress.
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B-¢-¢r, space that are not addressed by critical wedge theory.
A wedge with geometry and strength that place it in domain
ITin Figure 2 is not steep enough for its internal strength and
basal strength. It is therefore unstable and will increase its
surface slope to reach a stable critical configuration on line I.
A wedge with geometry and strength that place it in domain
IV (Fig. 2) is stable, implying that the shear stresses are
everywhere less than the yield strength. Such a wedge is
capable of sliding stably along its base with no internal
deformation. However, if it is forced to accrete new material
the deformation will drive it back down to line I, where it is
again critical. The other fields shown in Figure 2 but left
unlabelled are generally not physically or geologically ac-
cessible. For example, if the state of a wedge enters the field
in the upper leftcorner of Figure 2, above line I1, itis too steep
for its strength and collapses instantaneously to a position on
line II.

The transient deformation and interim state of stress
experienced by a wedge whose state enters fieldsIII or IV can
not be predicted by critical wedge theories that require
stresses to remain on yield, yet it is quite conceivable that
dynamic changes of the boundary conditions, which deter-
mine the wedge geometry, could send the state of a wedge
into either field IIl or IV. Changes in fluid pressure, for
example could resultin an apparent strengthening or weaken-
ing of the basal strength, moving the state of the wedge on a
horizontal line off line I in Figure 2b into domain III or IV.

Finite element model

Finite element techniques are increasingly used in nonlinear
problems such as plasticity, where the inherent advantages of
the numerical techniques have been valuable, particularly in
engineering applications where complicated geometries and
material properties are common. The advantages in model-
ling thrust belt wedges include the coupling between kin-
ematics and stress and the ability to include non-linear plastic
rheologies. The extremely large strains that result from the
accretion process present a problem even for finite element
techniques. This problem is addressed here through the use
of a rate formulation of the plasticity problem that combines
the Eulerian viscous flow equations with a plastic constitu-
tive law. Although the rate theory was originally developed
for pressure-independent von Mises yield criteria, the theory
is easily modified to include the pressure-dependent Cou-
lomb criterion.

The most common formulation of plasticity problems
incorporates an elastic-plastic material in which the total
strain is partitioned between elastic and plastic strain compo-
nents (Zienkiewicz 1977). Under loading, stresses are main-
tained elastically until the material yield stress is reached
after which the material deforms according to a plastic flow
rule. For problems in which the plastic strains are much larger
than the elastic strains, it may be advantageous to neglect the
elastic component of strain. A rate theory of deformation can
then be used to solve the problem in velocity and deformation
rate (strain rate) rather than displacement and strain, provid-
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ing important increases in efficiency. The costof the numeri-
calefficiency isin the loss of elastic strains and displacements.
One such rate formulation is the Levy-Mises theory (Mal-
vern 1969) that describes a rigid-plastic material. Finite
element techniques based on this theory have been developed
for engineering applications in metal forming (Zienkiewicz
& Godbole 1974) and for geodynamic models of lithosphere
deformation (Vilotte e al. 1982, 1984, 1986). In the Levy-
Mises theory an increment of plastic strain or, equivalently,
the rate of deformation, is assumed to be proportional to the

deviatoric stress tensor(G‘ij),
Dy = & o (5)

where DU. is the rate of deformation tensor, defined in terms
of the velocity components v, as,

1|y alJ_ 6
Di=2| it B, ©

dA
The proportionality constant (3'{) is a scalar that is de-

fined by the plastic yield criterion. The standard theory
incorporates the von Mises yield criterion,

Iy = Q

where J', is the second invariant, or norm, of deviatoric stress,
defined as,

1
Ia=7 00 ®)

with summation implied over repeated indices, and ¢ is the
von Mises yield stress, a scalar. In order that the constitutive
law (eqn. 5) gives a state of stress consistent with the von
Mises yield criterion (eqn. 7) the proportionality constant
must be,

%_ﬂ ©)
dt oY

I2 is the second invariant or norm of the rate of deformation,
and takes the same form as equation (8),

1

I = 7 Dy Dy (10)

Substituting equation (9) into equation (5) and inverting
gives a constitutive law,

olij = \/_1—2 Djj an
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The second invariants of stress, J'z, and rate of deforma-
tion, I, defined by equations (8) and (10), respectively, are L,
norms. By taking the norm of both sides of equation (11) and
assuming the material is incompressible, we obtain these
invariants such that stress is independent of the rate of
deformation and equation (11) becomes simply the von
Mises yield criterion (eqn. 7). The constitutive law defined
by equation (11) relates deviatoric stress to rate of deforma-

tion in the form of a viscous flow constitutive law,

0lij = Me Djj (12)
with an effective, non-linear viscosity, e, defined by,
GY
He = == (13)
VI,

The constitutive equation must include the isotropic part
of the stress tensor as well as the deviatoric stress which is in
equation (11). By including the pressure (or mean stress: P =
Gii/3) it is possible to obtain the complete constitutive equa-
tion for a viscous fluid,

Gjj = -Péij + p-eDij’ 8ij =1 ifi=j

. (14)
0 otherwise

By applying continuity to equation (14) the Navier-Stokes
equation of motion is obtained. For the purposes of this paper,
a simplified version of the Navier-Stokes equation that in-
cludes incompressible flow, gravitational body forces (pg), but
no inertial terms suffices,

2
-&+pe&

+pg =0
x4 8x;8x]

(15)

The incompressibility condition provides the additional
equation needed to account for the additional variable, P,

v,

dx; 16

For a two dimensional, plane strain problem there are two
components of velocity. Equation (15) with i=1,2 and equa-
tion (16) define a system of three equations with the two
components of velocity and pressure as three independent
variables. This system can be solved by a number of finite
element techniques (Zienkiewicz 1977; Taylor & Hughes
1981). The technique used in this study is based on 6-noded
triangular elements. Velocity is defined at all 6 nodes and
interpolated with quadratic basis functions, but pressure is
defined only at the three vertex nodes and is interpolated with
linear basis functions. The lower order of interpolation of
pressure is consistent with the lower order of the pressure
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term in the Navier-Stokes equation and is necessary for
numerical reasons (Zienkiewicz 1977). Including the non-
linear viscosity (eqn.13) to solve the plasticity problem
requires a non-linear solver, but standard techniques, includ-
ing direct iteration, can be used (Zienkiewicz 1977). More
efficient iterative techniques (e.g. Newton’s Method) are also
applicable and may accelerate convergence, but are not
necessary. All techniques require aninitial solution, obtained
by assuming a large constant initial viscosity (as large as is
numerically practical), which assures large stresses and plas-
tic ‘failure’ in part of the problem domain. A large initial
viscosity also keeps strain rates small in the part of the domain
that is not at plastic failure. This algorithm therefore defines
a rheology which, under loading, is approximately rigid
(highly viscous) until the yield stress is reached, after which
it deforms viscously with stresses remaining at the yield
stress. In summary, equations (15), (16) and (13) define a
non-linear viscous flow problem that has a solution consist-
ent with the von Mises yield criterion (eqn.7).

One modification to this theory is required to solve the
Coulomb wedge problem; the Coulomb yield criterion (eqn.
1) must be used in place of the von Mises criterion. Any yield
criterion that can be written in the same form as equation (7)
can be included in the above algorithm. The Coulomb
criterion must first be castin terms of the stress invariants, and
in the absence of cohesion is (Zienkiewicz 1977),

;—Jl sin¢+‘\’]’2 (cose- %sin 0 sin ¢)=O (7

J | is the first invariant of total stress, ¢ is the internal coeffi-
cient of friction, and 0 is a parameter giving the orientation of
the principal stresses and is defined by,

(18)

JI
sin(30)=- 32£—3'

=3
)

where J'3 is the third invariant of deviatoric stress. Factoring
out \/J'z defines a scalar quantity analogous to the von
Mises yield stress,

Y -Jl sin @

= 19
3cosO — ‘\ﬁsine sin ¢

This equation can now be substituted into equation (13).
To model the development of a Coulomb wedge, a simple
parameterization in terms of boundary velocities is used. The
initial domain that represents the undeformed sediments is
rectangular with the lowerboundary resting on the underthrust
plate and the right side assumed to be against a vertical
‘backstop’ (Fig. 3a). The boundary conditionimposed on the
base is a constant horizontal velocity at the convergence
velocity and no vertical velocity. The right side of the
rectangular domain has a zero horizontal velocity and a free
vertical component. Material is therefore forced by the basal
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Figure 3. Finite element mesh and boundary conditions used for Coulomb
wedge simulations. (a) Initial mesh prior to deformation. (b) Mesh recon-
structed to fit deformed upper surface. Note that mesh does not track internal
deformation. Boundary conditions are: fixed horizontal velocity along base
and left side (v, =convergence velocity) and backstop (v, = 0); fixed vertical
velocity along base (v, = 0); no shear stress on free surface.

traction against the ‘backstop’ where it deforms plastically as
it develops into a deformed wedge. The upper surface is free
to move with the deformation (Fig. 3b), and the mesh is
reconstructed at each timestep to track the boundary move-
ment. The finite element solution gives the instantaneous
velocity field, the strain rate field, the stress field and the free
surface position as deformation progresses through time.
Velocity is a relative quantity and an equivalent
parameterization would be obtained by fixing the velocity on
the base at zero and moving the backstop from right to left
(Fig. 3) at the convergence velocity.

Much of this paper discusses the role of the strength of the
basal decollement, which is an important parameter in the
critical wedge theory. To include a decollement weaker than
the wedge as a whole, several rows of elements along the base
of the model have been assigned an independent coefficient
of friction; they serve as a potential weak basal layer.

Model results

The models presented in this section are designed to address
two questions. First, what are the kinematic displacements
and particle velocities within a wedge that is growing by
accretion while remaining critical, i.e. on the critical line I in
Figure 2? Second, what are the kinematic and deformational
effects of transient deformation experienced by a wedge with
geometry and strength state which place it in one of the other
domains in Figure 2? This second question is addressed by
imposing changes in the strength of the basal decollement,
but it could also be investigated by imposing changes in other
parameters, e.g.  or ¢.

The models are limited to consideration of the deforma-
tion and kinematics in Coulomb wedges that are actively
growing by accretion. Some aspects of the geometry and
boundary conditions remain constant for all models. These
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include the rigid basal boundary which is fixed with nodip (B
= 0°) and the backstop which is vertical in all cases. The
velocities imposed on the base and backstop are constant in
space and time. The backstop has no condition imposed on
the tangential component of stress or velocity (i.e. it is
frictionless), so it can be interpreted as a symmetry condition.
Other parameters that are held constant include the thickness
of the incoming sedimentary section (4 km) and the strength
of the wedge interior (internal angle of friction, ¢ = 30°).

Although the rate of convergence is specified along the
base of the wedge and controls the rate of deformation and
growth of the wedge, it is not a dimensional parameter. There
is no time dependence to plasticity, so even though time
appears in the equations, its use is only to calculate the
amount of displacement. Time and the convergence velocity
scale each other such that only the product, the total conver-
gence, is important to the deformation. In other words, a
decrease in convergence velocity is equivalent to a propor-
tional increase in time. Rate of deformation (strain rate) also
scales with time and convergence velocity so that only the
relative deformation rates are important.

Constant basal strength model

The strength of the basal decollement is the principal param-
eter in these models. By holding the basal strength constant
with time, a wedge is produced that is always critical and lies
somewhere on line I in Figure 2. The critical wedge with the
maximum slope for a given basal dip (B) and wedge strength
(¢) is obtained when the basal strength is equal to the wedge
interior strength (¢ p = ¢; Fig. 2). A model of this case is
showninFigure 4. The geometry and instantaneous deforma-
tion rates are shown with increasing time, or, equivalently,
increasing convergence. The wedge that develops against the
backstop shows the self-similar growth characteristic of
Coulomb wedges. The upper surface develops a characteris-
tic slope that is maintained as the wedge grows. In contrast to
the analytic theory (Dahlen 1984) the upper surface is not
linear, but has some curvature to it. This curvature is most
likely a response to the vertical, frictionless backstop, which
is not present in the analytic theory. The shear stresses on a
frictionless surface must be zero which requires the upper
surface to be approximately normal to the backstop. The

Figure 4. Model of growing Coulomb wedge with basal strength equal to wedge interior strength (¢, = ¢= 30°). Nodal velocities relative to the overriding
plate are shown as vectors. Relative strain rate (second invariant of rate of deformation) contoured with larger relative values shaded. Results are shown for

total convergence of: (a) 3 km; (b) 12 km; (c) 24 km.
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Figure 5. Model of growing Coulomb wedge with basal strength less than wedge interior strength (¢, = 15° ¢ = 30°). Nodal velocities relative to the
overriding plate are shown as vectors. Relative strain rate (second invariant of rate of deformation) contoured with larger relative values shaded. Results are

shown for total convergence of: (a) 3 km; (b) 22 km; (c) 35 km.

upper surface is also somewhat steeper than predicted by the
analytic theory, but this discrepancy is probably also due to
the effect of the backstop. Aside from these differences, the
geometry and stress field is in good agreement with the
analytic solution.

The kinematics of deformation corresponding to this stress
field are shown as the instantaneous velocity field. The
velocities show the undeformed sediments moving with
constant velocity equal to the convergence velocity until they
encounter the toe of the wedge (Fig. 4). Sediments near the
surface are immediately deformed as the material turns up
into the wedge. Sediments that are progressively deeper in
the section pass further under the wedge before being pulled
into the deformed wedge. Once into the wedge, material
moves nearly vertically upward and experiences little addi-
tional deformation. This velocity field produces a distinctive
pattern of strain rate with the highest strain rates found in a
band from the toe of the wedge back to the corner at the base
of the backstop. These high strain rates correspond to the
zone where sediment passes from the underthrust plate into
the wedge. Itis difficultto interpret continuum velocity fields
in terms of geological structures and the kinematics associ-
ated with discrete faults. However, the kinematics of the
model in Figure 4 do resemble the displacements found in the
scale models of Cowan & Silling (1978).

The kinematic style is also suggestive of a mechanism that
could be interpreted as sediment underplating. The self-
similar growth necessary to maintain the critical taper is
achieved with very little deformation of the wedge interior. A
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frontal accretion mechanism requires significant pure shear
deformation of the wedge interior in order to maintain the
critical taper. This internal deformation is not observed in the
model since sediment deformation is localized to the transi-
tion between undeformed sediment and the wedge interior.
Growth of the back of the wedge is accomplished by
‘subducting’ undeformed sediment under the wedge and
accreting it directly to the base, a pattern that is similar to the
deformation style described by Brandon (1984) and Silver et
al. (1985).

If the base of the wedge is significantly weaker than the
wedge interior adistinctly differentkinematic pattern emerges
(Fig. 5). As predicted by the critical wedge theory a weaker
base implies a lower surface slope. The wedge again grows
in a self-similar fashion, but with a much smaller taper angle.
Changes in the kinematic pattern are more subtle. The
maximum strain rates again extend from the toe of the wedge
along the lower boundary to the corner at the base of the
backstop. However, the zone of high strain rates is much
wider, extending far back into the wedge. The velocities do
not show the sharp transition from horizontal to vertical
apparent in Figure 4. A particle path in the model of Figure
5 changes slowly from horizontal towards vertical, but may
never reach vertical. There is also no zone of undeformed,
underthrust sediments. This overall kinematic style is sug-
gestive of a frontal accretion mechanism with sediment
accreted at the toe of the wedge and pure shear shortening
maintaining the critical taper.

The models shown in Figures 4 & 5 are examples of
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Figure 6. Model of Coulomb wedge experiencing an increase in basal strength. (a) Initial critical wedge develops with basal strength ¢, = 15°. Total
convergenceof 38 km. (b) Basal strength increases from ¢ = 15°to ¢, =30°and deformation jumps back to backstop. Total convergence of 38 km. (¢) Deformation
propagates forward. Total convergence of 41 km. (d) Total convergence of 44 km. (e) New critical taper is achieved. Total convergence of 50 km.
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Figure 7. Model of Coulomb wedge experiencing a decrease in basal strength. (a) Initial critical wedge develops with basal strength ¢, = 30°. Total
convergence of 12km. (b) Basal strength decreases linearly to ¢, = 20°. Total convergence of 12.5 km. Most of the wedge is in the stable field and experiences
no deformation although continued convergence causes deformation of the toe region. (c) Basal strength decreases linearly to ¢, = 10°. Total convergence
of 13km. (d) With continued weakening of the base (¢, = 6°), wedge again becomes critical in a tensional mode with horizontal extension. Total convergence
of 13.5 km. (e) The basal strength is held constant at ¢, = 6° and the wedge again becomes stable. Total convergence of 14.5 km. Continued convergence
will result in the wedge growing from the toe backward until a new critical taper is achieved.
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compressive critical wedges experiencing contractional-styles
of deformation. At any time during the wedge development,
stresses within the entire wedge are at the Coulomb yield
stress. The wedge maintains the same geometry as it grows
self-similarly consistent with the critical wedge theory. As
such, the state of each model is characterized by a single point
on line I in Figure 2b. However, if one of the parameters in
Figure 2 should change, the state of the wedge would depart
from line I and critical wedge behaviour. In particular, an
increase or decrease in the basal strength ¢, moves the wedge
state into the sub-critical domain III or stable domain IV,
respectively. These two cases are considered next.

Increase in basal strength model

An increase in the basal strength changes the state of the
wedge such that the surface slope is less than is required to be
critical. This combination of surface slope and basal strength
place the state of the wedge in domain III of Figure 2b, the
sub-critical field, implying stresses in the wedge are less than
the Coulomb yield stress. The wedge interior in the sub-
critical domain must be rigid and deformation of the wedge
as a whole must cease. The wedge is not steep enough to
propagate over its basal decollement so the decollement also
‘locks’ and relative displacement between the wedge and the
lower plate goes to zero, thus forcing the relative convergence
to be taken up at the backstop. This behaviour is demon-
strated by the model of Figure 6. The wedge in Figure 6a
develops with a basal strength parameter ¢, = 15°, as in the
model of Figure 5. Atthis point the basal strength parameter
¢, instantaneously increases to 30°, the value used in the
model of Figure 4. As expected, deformation stops in most
of the wedge, as stresses drop below yield and the material
becomes rigid (Fig. 6b). Deformation continues only adja-
cent to the backstop, where the rigid backstop forces the
material to fail and begin building a new wedge with a steeper
surface. As uplift of the rear of the wedge increases the
surface slope, the deformation propagates forward (Figs 6c,
6d). When the entire surface is at the new critical slope,
stresses in the entire wedge are again at yield and the wedge
again grows self-similarly (Fig. 6e).

Decrease in basal strength model

The complementary case, a decrease in basal strength, im-
plies very different deformation behaviour. A decrease in
basal strength moves the state of the wedge into the stable
domain IV of Figure 2b. In the stable domain, as in the sub-
critical domain, stresses drop below the Coulomb yield
stress, which stops any widespread plastic deformation of the
wedge interior. However, in this case the surface slope and
wedge taper are sufficiently large to permit the wedge to slide
stably over its basal decollement forcing relative conver-
gence to be taken up at the toe of the wedge. This behaviour
is demonstrated by the model of Figure 7. The wedge in
Figure 7a develops with a basal strength parameter ¢y, = 30°.
Subsequently, the basal strength systematically decreases
(Figs 7b, 7c). Most of the wedge quickly enters the stable
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field and strain rates in the wedge interior go to zero (Fig. 7c).
Deformation continues only at the toe of the wedge where the
continued convergence forces the wedge to continue accreting
new material. This deformational pattern is in contrast to the
deformational pattern in the sub-critical domain III (Fig. 6b),
where the wedge is also rigid, but deformation continues
adjacent to the backstop. The difference is the large taper
angle in the wedge of Figure 7, relative to the basal strength,
which allows the wedge to slide over its base and accrete
incoming sediments. If the basal strength were to remain
constantat the value in Figure 7c, anew wedge with a shallow
surface angle would form against the ‘backstop’ formed by
the rigid, previously developed wedge. As the new material
piles onto the old wedge, the surface angle would be system-
atically reduced, bringing its state of stress back onto yield.

If the basal strength continues to decrease faster than
newly accreted material can reduce the surface slope the
wedge may again go criticalin a state of tension (Fig. 7d). The
combination of surface slope and basal strength of the wedge
places it on line II in Figure 2b, the second critical wedge
solution. The entire wedge fails again, but in a tensile mode
associated with extension and downslope flow. The entire
wedge is not in tension, because of the continued conver-
gence and accretion at the toe that keeps the toe in local
compression. While the basal strength continues to decrease
the wedge remains in this mode of deformation. The state of
the wedge can not move above line Il in Figure 2, so the
surface slope decreases as the basal strength decreases to
keep the state of the wedge on line II. However, if the basal
strength remains constant, or increases again, the state of the
wedge immediately moves back into the stable field IV (Fig.
7e) and deformation ceases. The wedge continues to deform
only to accrete new material at the toe as in Figures 7b & 7c.

Discussion

The numerical models illustrate four distinct styles of defor-
mation in growing Coulomb wedges, each associated with a
specific geometry and strength state domain in o-B-¢-¢y
space. The models of Figures 4 & 5 have constant boundary
conditions and so remain on the critical solution line I in
Figure 8 at the positions labelled by squares (e) and (a),
respectively. Deformation in these models is characterized
by plastic deformation of the entire wedge at all times with the
highest strain rate concentrated in a band from the wedge toe
along the wedge base to the corner with the backstop. A
stronger base apparently favours transport of undeformed
sediment further under the wedge before accretion in an
underplating kinematic style.

The evolution of the state of the model with increasing
basal strength (Fig. 6) is shown schematically by the square
points in Figure 8, each of which corresponds to a stage of
developmentin Figure 6. The initial wedge develops at (a)on
the critical line [ the increase in basal strength immediately
transfers the wedge state along the horizontal path to square
(b) in domain III. Subsequent deformation steepens the
surface slope moving the state vertically up to its final state
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Figure 8. Mechanical state in ¢, o space of finite element models relative
to critical wedge solutions. Square points represent path taken by model of
Figure (6); points (a) through (e) correspond to Figures (6a) through (6e),
respectively. Circles represent path taken by modet of Figure (7); points (a)
through (e) correspond to Figures (7a) through (7e), respectively.

at square (e). The geometric and strength state of the wedge
in this model places it in domain III for the entire transition.
With reference to Figures 6b-6d, deformation indomain I1T s
characterized by high strain rates in the rear of the wedge that
propagate forward as the surface of the wedge steepens. The
style of deformation observed in domain I1I, the sub-critical
field involves the highest compressional strain rates in the
interior of a wedge. It is, therefore, the most likely cause of
large internal strains as evidenced by out-of-sequence
(backstepping) faulting. Internal strain is experienced by the
wedge interior in other modes of deformation, in particular,
steady growth on the critical line, but the strain is smaller and
is experienced at lower rates. As demonstrated in Figure 4,
itis possible to maintain the critical taper with no strain in the
upper, interior part of the wedge. lLarge internal, out-of-
sequence strains are most likely the result of sub-critical
deformation as the wedge deforms to regain its critical taper.

The model of Figure 7 demonstrates two additional styles
of deformation, those associated with a wedge state in do-
mains [l and V. The path representing the evolving state of
the wedge in Figures 7a through 7e is given by the circles (a-
e) in Figure 8. The wedge model in Figure 7a develops
initially at point (a) on the critical line. As the basal strength
decreases (Fig. 7b), the wedge state moves into the stable
domain IV. Continued weakening of the base moves the
wedge state across domain IV until it reaches the other critical
line, II, above point (d). The base continues to weaken,
moving the wedge state along line I until the strength of the
base is held constant, at which point the wedge state again
enters the stable field as the surface slope decreases by
accretion. The wedge state moves down to the final state of
the model at point (e), although continued accretion would
force the state eventually to reach a new critical state on line
. Figures 7b, 7c & 7e represent the style of deformation in
the stable domain IV; Figure 7d shows the deformation
occurring while the wedge state is critical on line 1. The
domain IV deformation is characterized by localized defor-
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mation of the wedge interior; the only significant strain rates
are in the immediate toe region or are confined to the
decollement region where the lower plate shears beneath the
rigid wedge. The toe of the wedge continues to deform in
order to accrete all the incoming sediment. The vertical
segment of the path directly above circular point (¢) in Figure
8 represents the decrease of slope resulting from the contin-
ued accretion and would be achieved by backward propaga-
tion of the new critical slope that is forming at the toe of the
wedge in Figure 7e. Dahlen (1984) suggested thata wedge in
this stable field would simply slide over the underthrust
sediments with no internal deformation and no accretion of
new sediments. Sliding without accretion is possible, but not
necessary; whether or not new material i1s accreted hikely
depends on the detailed mechanics of deformation at the
wedge toe.

An example of deformation in domain II on the second
critical wedge line is provided by Figure 7d which shows the
deformational state of the wedge on the critical line [T at circle
(d) in Figure 8. The domain II line represents the boundary
of the permissible states of a Coulomb wedge. As continued
weakening of the base of the wedge attempts to move the
wedge state to the left of the critical line, the surface slope
decreases at a rate that keeps the state on line II. This slope
decrease is achieved by extensional collapse of the wedge. If
material continues to be accreted to the toe of the wedge, the
toe remains in compression, but the rest of the wedge is in
tension and accompanying extension. The extensional strain
rates are determined by the rate of weakening of the base;
strain rates must be high enough to keep the wedge state on
the critical line. If the basal strength stops weakening, the
extension immediately ceases as the wedge becomes stable,
its state moving into domain [V.

The deformation and kinematic styles observed in these
models is associated with the mechanical state of a wedge and
the domain implied by that state, not the mechanism or
mechanisms responsible for the change in state. The styles of
deformation associated with each of the four domains iden-
tified in Figure 2 in o-B-¢-¢ p, space are demonstrated by
models that change the basal strength, ¢, with time. How-
ever, a change in any of the other parameters that causes the
state of the wedge to enter another domain produces the same
style of deformation. Basal strength was varied in these
models because it seems the most likely parameter to experi-
ence significant changes. Basal strength can change in
response to changes in strength of underthrust material,
changesin fluid pressure due to differing porosity and perme-
ability of underthrust material, or changes in convergence
rate that could lead to variations in the rate of sediment
dewatering and hence fluid pressure generation. The basal
dip (B) can also change independently, for example, as an
isostatic response to a growing wedge. Surface slope (o) can
change as aresponse to erosion; depending on the distribution
of erosion, the surface slope could be either increased or
decreased. The surface slope could also be decreased by
sedimentation over the wedge, pushing the state down into
domain III. Any of these changes would resultin the transient
deformational states demonstrated by the models of Figures
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6or7.

A particular thrust belt or accretionary wedge may have a
long and complex geological history that involves multiple
phases of deformation of different styles as the state of the
wedge changes deformational domains. For example, the
deformation may shift from the toe of a wedge back to the
interior and forward to the toe again as the mechanical state
of the wedge shifts between domains III and IV.

The predicted kinematic patterns have implications for the
tectonic exhumation of high pressure terranes. All models
showed vertical components to the velocity field, but exhu-
mation occurs only where the velocity of a particle at depth
is larger than the velocity of the free surface overlying that
particle. This condition does not occur in any of the models
with the exception of Figure 7d, in which gravitational
collapse leads to the exhumation of the rear of the wedge.
Otherwise, all models show no exhumation of material at
depth in the wedge. This kinematic pattern of a growing
Coulomb wedge is in contrast to a wedge with a viscous
rheology as proposed in the models of Emerman & Turcotte
(1983) and Platt (1986). If the accreted material deforms
viscously, the surface slope drives flow down towards the toe
inall cases, inevitably leading to exhumation in the rear of the
wedge.

The exceptional case in these models, the gravitational
collapse of a Coulomb wedge, has limited potential for
significant exhumation. A single collapse phase as in Figure
7 is not likely to produce significant exhumation. However,
if a wedge passes through several cycles of collapse and
growth, cycling its deformational state through domains II,
IIand IV, asinthe full path of square (a) tocircle (¢) in Figure
8, reproducing the full range of deformational styles observed
inFigures 6 and 7,exhumation could be quite significant. The
styles of growth (domain III) and collapse (domain II) are
very different. Deformation during growth starts from the
back and propagates forward; deformation during collapse is
ubiquitous with contemporaneous extension and contraction.
The corresponding kinematic patterns imply different parti-
cle paths during contractural construction and extensional
destruction of the wedge leading to a net upward movement
of deeply buried rocks as the wedge state cycles between
growth and collapse.

This exhumation mechanism is similar to the model dis-
cussed by Platt (1986, 1987) in which he proposed that
tectonic exhumation was due to extension driven by
underplating. However, the Coulomb plastic rheology im-
plies some important differences. A cycling of the wedge
through domains II and III would involve underplating dur-
ing growth in domain III and extension in domain II, and
could result in extensional structures associated with
underplating. This model would also result in exhumation of
high pressure terranes without excessive erosion. However,
this mechanism differs from Platt’s model in that the exten-
sion and underplating would not be contemporaneous nor
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causally related. Underplating is a growth mechanism asso-
ciated with compressional deformation in domain I11. Exten-
sion would not occur until growth stops as the wedge state
moves across the stable domain and reaches domain II. An
independent mechanism, e.g. change in basal strength, is still
required to drive this cycle, underplating alone cannot drive
the system.

Conclusions

The deformational history of a thrust belt or accretionary
wedge can involve multiple phases of deformation with
different styles resulting from changing geometries, bound-
ary conditions and internal strength of the wedge. Critical
wedge theory defines distinct domains dependent on the
geometric and strength state of a Coulomb wedge; the dy-
namics and kinematics of these domains can be determined
using numerical techniques. Each domain has an associated
deformational style. Growth of a wedge on the compres-
sional critical surface in the geometry-strength space implies
self-similar growth by either frontal accretion or underplating
with frontal accretion favoured by a weak decollement. If
changing conditions drive the state of a wedge into the
subcritical domain, deformation enters a transient state with
no deformation in most of the wedge interior and no displace-
ment along the decollement except at the back of the wedge
where the rigid backstop forces the wedge to continue de-
forming internally, increasing the wedge taper and driving
deformation progressively forward to the toe. If the taper of
a wedge becomes too large relative to its basal strength, the
state of the wedge enters the stable domain and slides over its
base with no internal deformation, other than at the toe where
continued accretion forces a wedge with a shallower taper to
form against the older, now rigid, wedge. The wedge may
return to critical in a state of horizontal tension and associated
extension if the taper becomes larger than the basal strength
can support. In this mode, the entire wedge deforms in
extension to reduce the wedge taper, with the exception of the
toe region which may remain in compression if accretion
continues.

The superposition of phases of these transient and steady
deformational styles may help explain complex stuctural
relationships. Features such as out-of-sequence faulting and
tectonic exhumation of high-pressure terranes can be inter-
preted in terms of transient phases of non-critical wedge
deformation.
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A developmental stage of a foreland belt
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Abstract: Active foreland-type belts indicate that recurring seismically related modes of
deformation played a fundamental role in ancient foreland belts. Earthquakes along ramps (?) or
listric segments of thrusts apparently can be larger in magnitude than along associated decollements.
When this situation exists, additional styles of fault slip must occur along decollements to generate
the larger earthquakes at the ‘locked’ inclined fault segments. Fault-slip styles in active tectonic
terranes include typical earthquakes, slow earthquakes, and recurring forms of fault creep. They
indicate that velocity-dependent damping is a key element in several faulting processes. Fault
models presented here take this parameter into account, and they are applied to the Hogsback sheet
in the Kemmerer region of the Wyoming Salient. They indicate that appreciable long-term fault
creep displacement cannot occur along decollements at average geological slip rates, with few
possible exceptions such as extensive layer-parallel shortening due to pressure solution. Data
analysis for Kemmerer indicates that the Hogsback sheet probably was emplaced by the more rapid
forms of recurring fault slip. The partitioning of elastic tectonic strain imposed by typical and slow
earthquakes accordingly may depend to a considerable extent on the relation between relaxation

times of deformational processes and the recurrence intervals of these fault-slip events.

Active continental tectonic terranesillustrate thatuppercrustal
deformation is strongly influenced by coseismic faulting and
short-term fault creep events (e.g. Allen 1981; Savage 1983;
Schwartz & Coppersmith 1986; Wesson 1988; Sibson 1989;
Stein & Yeats 1989). Consequently, the objectives here are
(1) to present some key evidence of seismically related
deformation in foreland-type belts, (2) to quantify potential
modes of dynamic fault slip along a decollement aft of a
frontal ramp or listric segment of an imbricate, (3) toillustrate
applications with a field example from the Wyoming Salient,
and (4) to suggest how some of the elastic tectonic strains
imposed by fault slip may be partitioned between brittle
deformation and strain-rate dependent ductile deformation.

Seismically related deformation in foreland belts

Seismic moment tensor analyses indicate that moderate to
large earthquakes account for25% to 70% of the upper crustal
fault slip occurring in several major continental zones where
active deformation is distributed over large distances from
major plate boundaries (Ekstrom & England 1989). Evi-
dence that seismically related modes of deformation are
important in foreland-type belts within these zones is illus-
trated by the Himalayan foreland belt, the Shotori belt in
eastern Iran, the Kopah Dagh belt northeast of Iran, the El
Asnam thrust terrane in the Tell Atlas of Algeria, the western
Transverse Ranges of California, and by the Coalinga region
of the fold-and-thrust belt along the southern Coast Ranges
bordering the San Joaquin Valley.

The May 2, 1983 M 6.7 Coalinga mainshock and its
aftershock sequence were associated principally with blind
thrusts and amajor fold. Controversy has existed as to which
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nodal plane of the mainshock was the active fault, but arecent
analysis of the three-dimensional velocity structure and
seismicity provides very strong evidence that the mainshock
occurred along a 30° SW dipping portion of a low-angle blind
thrust system at some 10 km depth (Eberhart-Phillips 1989).
Relevant interpretations are that the mainshock occurred
along an inclined fault segment of a fault-propagation fold
(Stein & Yeats 1989), along a listric segment of an imbricate
thrust system beneath a major fold (Wentworth & Zoback
1989), or along a frontal ramp associated with a fault-bend
fold (Namson & Davis 1988a). The Coalinga anticline was
either uplifted or had its amplitude increased by half a metre
or more (Stein 1987).

The Coalinga region is notunique. Pronounced seismicity
reportedly is related spatially to major ramps (or listric
segments of blind thrusts) associated with major folds in the
western Transverse Ranges (Namson & Davis 1988b) and in
the fold belt of the Los Angeles region where the Oct. 1, 1987
M, 5.9 Whittier Narrows mainshock occurred at about 14 km
depth (Lin & Stein 1989). In both the Whittier Narrows and
Coalinga mainshocks, the preferred nodal planes dip about
30°, consistent with balanced cross sections of these regions
(Namson & Davis 1988a; Davis et al. 1989). Inthe Tell Atlas
of Algeria, the axis of a well developed anticline in the
hanging wall of acomplex thrust sheet is parallel to the 30 km
surface rupture produced by the Ms 7.3 1980 El Asnam
earthquake. Palaeoseismic studies indicate that two previous
large earthquakes had occurred along this zone with a re-
currence interval of about 450 years (Swan 1988).

Coseismic faulting also appears to be associated with flats
and decollements. Low-angle nodal planes in the eastern half
of the Himalayan foreland beltlie either onabasal decollement
or on flats associated with the Main Boundary thrust system
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(Baranowski et al. 1984). Examples are the Oct. 21, 1964 M
5.9 mainshock and the March 24, 1974 M 5.4 mainshock,
both of which had slip vectors plunging 2° or 3°. Similarly,
south of Coalinga and east of the North Kettleman Hills
Dome, the M 5.5 Avenal earthquake is consistent with low-
angle thrusting along a flat (Namson & Davis 1988a).
Mostof the catalogued continental thrust-fault mainshocks
(M > 5) have preferred nodal planes dipping 20° to 60° (e.g.
Ekstrom & England 1989). Instructive examples are the 1980
Ms 7.3 El Asnam mainshock on acomplex fault dipping = 45°
NW at some 6 km depth in the Tell Atlas (Nabalek 1985;
Yielding 1985), and the 1978 Ms 7.4 Tabas-e-Golshan
mainshock nodal plane dipping 30° NE at about 10 km depth
in the Shotori belt (Berberian 1982). An important feature in
both cases is that detailed aftershock studies indicate that the
major structures include listric imbricate faults that converge
downward into low-angle decollements. And in both cases,
like Coalinga, some of the smaller aftershock focal mecha-
nisms are indicative of low-angle slip on flats or decollements.

Observations for formulation of decollement fault-
slip models

The analysis of seismic moment rates shows that a few large
earthquakes produce considerably more cumulative faultslip
along a fault than fairly numerous small earthquakes along
the same fault (Brune 1968; Schwartz & Coppersmith 1986).
Seismic data, discussed above, indicate that earthquakes
along ramps or inclined thrust segments can be larger than
along flats or decollements. Therefore, for this type of
situation, additional styles of fault slip along a decollement,
such as fault creep, need to be considered; e.g. in order that
sufficient elastic tectonic strains are stored at ‘locked’ listric
fault segments to generate the larger earthquakes at those
segments.

In a review of the paradox of overthrust faulting, Price
(1988) emphasized that traditional models of fault slip, such
as the Hubbert-Rubey model, cannot be applied to the entire
subhorizontal base of a thrust sheet, and that the fault
displacements are described more realistically by a Somigliana
dislocation fault model. This model is one of the elastic
dislocation models frequently employed in geodetic analyses
of faulting ( e.g. Savage 1983; Lin & Stein 1989). However,
these models do not take into account inertial forces of the
fault blocks, nor inelastic behaviour along the faults. Con-
sequently, the models presented here are formulated to take
these parameters into account with respect to the following
observations in earthquake seismology and seismotectonics.

Active faults are associated with barriers defined as fea-
tures that interrupt or terminate rupture propagation (Aki
1984). Examples of geometric barriers are a tear fault and an
imbricate zone that sequentially interrupted rupture propa-
gation of the main thrust during the 1980 Ms 7.3 El Asnam
earthquake (Yielding 1985). An example of a rheologic
barrier is the thick evaporites in the Zagros (Jackson 1983).
And in the case of the 1983 Coalinga mainshock, the upward
extent of the mainshock rupture ended at the approximate
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boundary between the Franciscan and Great Valley sequence
strata (Eberhart-Phillips 1989), a potentially important
stratigraphic type of barrier.

A fundamental phenomenon related to barriers is the
recurrence of earthquakes of similar size along specific
segments of a fault zone (see Schwartz & Coppersmith 1986),
as illustrated by the Oued Fodda thrust fault in the Tell Atlas
(Swan 1988). The ‘characteristic’ earthquakes apparently
recur along the same fault segments until the geometry,
rheology, or boundary conditions of the fault zone are altered
sufficiently to accommodate changes in the style of defor-
mation.

Instrumental monitoring of active faults has revealed that
the modes of fault slip include typical earthquakes of seconds
duration, slow earthquakes of minutes to tens of minutes
duration (Sacks et al. 1981; Beroza & Jordan 1989), acceler-
ating-decelerating fault creep episodes each of an hour or so
duration, and slower forms of fault creep (Wesson 1988).
Potentially important mechanisms of long-term fault creep
include the LPS (layer-parallel shortening) thrusting described
by Geiser (1988), and thrusting along evaporite beds But
despite more than 30 years of intensive study, ‘long term’
fault creep has been documented in relatively few active
continental locales; notably, along the central section of the
San Andreas fault zone, the Imperial fault to the south, one
locale along the North Anatolian fault in Turkey (Wesson
1988), the Nahan thrust in the Himalayas (Sinvhal et al.
1973), and the Buena Vista thrust in California (Wilt 1958).
Attempts to discover long term fault creep in New Zealand
have been unsuccessful thus far (Scholz 1989).

Velocity-dependent damping along faults accordingly
seems to be a key element in several faulting processes
(Bombolakis 1989b). For example, analyses in mechanical
engineering show that velocity-dependent damping along a
slip surface controls the rate, amount, and time duration of
slip (e.g. Den Hartog 1958; Timoshenko et al. 1974). The
analyses incorporate various forms of velocity-dependent
damping in terms of a damping parameter & with respect to
inertial forces. The damping forces can be very complex, and
so & is evaluated such that the dissipative energy associated
with 8 is equivalent to the dissipative energy produced by the
actual damping forces (Timoshenkoetal. 1974,p. 64, 81-88).
Consequently, relevant concepts from mechanical engineering
should have an important bearing on faulting in the upper
continental crust.

Fault slip models

Figure | provides a reference for discussion. Recurring
fault slip occurs along length L of an active thrust-belt
segment of unit width W, bounded by the topographic slope
and vertical sections h  and h,. The barrier shown in Figure
1 is a frontal ramp, but it alternatively could be represented by
alistric segment of an imbricate fault. The other barrierin the
vicinity of a-b is not shown because various types of barriers
are possible. In the case of a coseismic net slip event along
L, the slip equations of Bombolakis (1989a) indicate that fault
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slip X is given approximately by

(P-S)LW

X= ki +k,

[1 - COS (ont] (D
where P is the peak shear strength at onset of dynamic slip, S
is the average shear resistance during dynamic slip, (P - S) is
the stress drop, k, and k, are the respective elastic composite
stiffnesses calculated from seismic reflection data for the

sedimentary packages along h, and h, (Bombolakis 1989a),

and

is the fundamental frequency of the thrust-belt segment. Tan
o is the topographic slope and p is average bulk density. Each
composite stiffness constant is analagous to the spring con-
stant of a spring-mass system. The stiffer the spring, the
larger the spring constant. Competent strata usually are
elastically stiffer than incompetent strata. The resulting
fundamental frequency characterizes the simplest mode of
motion that the active mass would have if it were not affected
by dissipative forces. This frequency therefore is one of the
fundamental parameters inherent in the elastic rebound theory
of earthquake faulting. An example of how the elastic
stiffnesses are calculated from seismic profiling data is illus-
trated in Table 2 of Bombolakis (1989a).

The time duration of a coseismic net slip in equation (1) is
t=7/o . For this t, equation (1) becomes identical in form
to the net slip equations of traditional crack-growth models
employed in earthquake seismology (see equation 26 of
Bombolakis 1989a). But like the traditional crack-growth
models, equation (1) neglects velocity-dependent damping.

If velocity-dependent damping is incorporated in the deri-
vation of equation (1), we obtain (Bombolakis 1989b)

B ki+k,

(Dn

p-(%tanOHhQ)-L-W (2)
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1-€e 2 (cos myt+—sinw,t)
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Figure 1. A developmental stage of a foreland belt. The temporally active
thrust-belt segment is bounded by L, h1, h, the topographic slope, and unit
width W perpendicular to diagram.
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where § is the damping parameter expressed in frequency
units (Timoshenko et al. 1974), 0=V mnz_ 54 is the damped
fundamental frequency, and t = /o, is the duration of a net
slipevent. Therefore equation (3) candescribe the approximate
fault slip resulting from typical earthquakes, slow earth-
quakes, and accelerating-decelerating fault creep events along
an active segment of a decollement when &/2 < o .

In contrast, when 6/2 > o  we have the case of heavy
damping (Timoshenko et al. 1974). The fault-slip equation
for this situation is transformed to

8
X . P-SLW 1-¢ 2 '(cosh Bt+§lzsinh BY)

4)

where p=V 82/4—0%2 . The importance of the fundamental
frequencies of active fault blocks with respect to velocity-
dependent damping along faults is illustrated nicely by the
case of 6 >> , . Forthis case, 8/2 = B, causing the bracketed
expression to approach zero because of a mathematical
identity between hyperbolic functions and exponential
functions. Therefore, X = 0 irrespective of time t, with the
consequence that no significant fault creep can occuralong L.
This physical condition accordingly might be one of the basic
reasons why so few examples of ‘long term’ fault creep have
been documented in the upper continental crust since instru-
mental monitoring of active fault zones was initiated circa
1960. And it is a physical condition that can be evaluated in
analyses of thrust-sheet emplacement, as illustrated in the
following field example.

Hogsback thrust sheet in the Kemmerer region,
Wyoming

In general, damping includes both a constant component of
damping and a velocity-dependent component. S in equa-
tions (3) and (4) is the shear resistance associated with the
constant component (Bombolakis 1989a). If we denote T 4as
the average shear resistance associated with both components,
then (T, - S) represents the average increment of shear resist-
ance associated with velocity-dependent damping along length
L of the decollement in Figure 1. For these conditions, the
approximate value of d is

(14-S)

L
.(5

5~

p + Xavg. tan o + hy) &)
where Xavg. is the average slip rate of a fault slip event along
L, and h, is the thickness of the sedimentary package indi-
cated in Figure 1.

The Hogsback thrust sheet illustrates the problem of long-
term fault creep of thrust sheets. Extensive deformation inits
frontal ramp region near Kemmerer is shown in Figure 2.
(See Figs 1 & 2 in Delphia & Bombolakis 1988 for detailed
stratigraphic section and location in the Wyoming Salient).
The predominantly competent sequence encompassing the
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Ordovician Bighorn Dolomite (O,, ) and the Triassic Nugget
sandstone (TR ) had undergone considerable imbrication in
the break back mode. In contrast, the same stratigraphic
sequence just above the basal decollement extends westward
from c-d for 30 km with no significant deformation apparent
within the resolution of seismic reflection profiles and other
subsurface data of Dixon (1982) and Lamerson (1982), until
the trailing edge contact with a major ramp of the Absaroka
thrust is approached.

Suppose that this section of the Hogsback plate is assumed
to have undergone long-term fault creep at an average geo-
logical slip rate along L in Figure 1. The estimated rate for
thrusts in the Wyoming Salient (Wiltschko & Dorr 1983) is
similar to the 107 to 10" cm/sec. rates calculated by Elliott
(1976) for external thrusts of the Canadian Rockies foreland
belt. L =30 km for the Hogsback sheet, and h, = 10 km with
o = 4° prior to post-thrusting erosion. Utilizing elastic
stiffness data for the Kemmerer region (Bombolakis 1989a),
equation (2) indicates that the fundamental frequency of this
partofthe Hogsback plate is less than 1 Hertz. A conservative
estimate of (t, - S) is = 0.1 bar in equation (5) because esti-
mated stress drops of fault creep along the central section of
the San Andreas are in the range of 0.4 bar to several bars
(Wesson 1988). Consequently, for average geological slip
rates, equation (5) yields values of & in the range of 10° to 10°
Hertz. These values would increase by a factor of 10, for
example, if (T, - S) = 1 bar, instead of 0.1 bar. Therefore
equation (4) stipulates that no significant faultcreep displace-
ment possibly could have occurred under these conditions,
eveniftheshearresistance associated with velocity-dependent
damping were small.

The net slip of this section of the Hogsback sheet exceeds
12 km (Delphia & Bombolakis 1988). How, then, could the

faultslip have occurred ? Consider again fault slip data from
active tectonic terranes, keeping in mind that equations (2)
and (5) show that the fundamental frequency is more sensi-
tive to length L of the active thrust-belt segment than the
velocity-dependent damping parameter.

The ‘long term’ fault creep along the central section of the
San Andreas actually appears to be dominated by sequences
of short-term fault creep events, each affecting a few or more
km of fault length along the traces (Wesson 1988). Many of
the creep events are interpreted to be associated with yield
point phenomena (Nason & Weertman 1973; Bombolakis ef
al. 1978; Wesson 1988), which is consistent with (P - S) of
equations (3) and (4). Inthe case of thrustbelts, field evidence
of repeated cycles of work softening is reported for several
low-angle thrust faults in the foreland zone of the Appalachi-
ans (Wojtal & Mitra 1986, 1988; Woodward ef al. 1988).

Slip rates of fault creep events along the San Andreas
frequently range from 102 to 10 cm/sec. (Wesson 1988;
Bilham 1989). Applying these data to the Hogsback sheet for
length L =5 - 10 km, equation (5) yields & in the range of 10
- 10° Hertz, whereas equation (2) yields a fundamental fre-
quency of only a few Hertz for the same length segments.
Consequently, for the more rapid fault creep events, more
cumulative faultslip is possible than for the slower fault creep
events. For example, slip rates of slow earthquakes in the
range of 0.1 - 1 cm/sec. yield values of 8 of about 10! to 10
?Hertz. Therefore, equations (2), (3), (4), and (5) indicate that
it is only slow earthquakes and relatively rapid fault creep
events, as well as typical earthquakes, that could have pro-
duced significant propagating fault slip between the trailing
edge and the Hogsback frontal ramp. Since no significant
fault displacement can result from recurring slow fault creep
of work-hardening/work-softening material, a potentially

Figure 2. Balanced cross-section of the Absaroka (A) and Hogsback (H) thrust sheets 15 km north of Kemmerer in the Wyoming Salient. The Lazeart
syncline (L) is demarcated by a solid-line curve drawn along contact between the Frontier formation and the Cretaceous Hilliard clastic sequence (K}). Open
circles indicate locations of three deep wells close to the section. Three key marker beds within the predominantly competent stratigraphic sequence are
the Ordovician Bighorn Dolomite (O,;), the Permo-Pennsylvanian Weber sandstone (PIP, ), and the Triassic Nugget sandstone (TR). From Delphia &

Bombolakis (1988).
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important effect of such events may be temporal thickening
of the fault zone in accordance with conservation of energy
principles.

Partitioning of elastic tectonic strains - a
suggestion

Whether fault slip occurs by typical earthquakes, slow earth-
quakes, or relatively rapid fault creep events, the elastic
tectonic strains imposed along h, of the active thrust-belt
segment in Figure 1 are ‘instantaneous’ with respect to
typical strain rates of flow processes involved in layer-
parallel shortening and layer-parallel shear. A conceptual
way of partitioning is illustrated by the Maxwell model in
Figure 3. During coseismic fault slip, for example, the
imposed tectonic strain is taken up by the elastic spring.
Therefore, the amount of subsequent strain-rate dependent
deformation depends on how the relaxation time of the
dominant flow process compares with the recurrence interval
of the fault-slip events. By definition, the relaxation time is
the time it takes to decrease the elastic strain by 1/e of its value.
The recurrence intervals of moderate to large magnitude
thrust earthquakes thus far seem to be in the 100-500 year
range (e.g. Swan 1988; Stein & Yeats 1989). Consequently,
if the relaxation time were of the same magnitude as the
recurrence interval, thenrelatively little strain-rate dependent
ductile deformation would occur, and considerable elastic
tectonic strains potentially would be available for brittle and
semi-brittle deformation.

Much of the current fold theory is based on linear viscosity
11 (Hudleston 1986), and so it is worthwhile at this time to
consider the relaxation times of layer-parallel shortening and
layer-parallel shear based on linear visco-elasticity theory.
This theory shows that the relaxation time T for layer-parallel
shortening, without the constraint of plane strain, is the
equation shown in Figure 4, where E is Young’s modulus.
This equation differs from the plane strain case by a factor of
only 1/(1-v?), which is negligible for the customary range of
Poisson’s ratio v. For comparison, the relaxation time T * for
layer-parallel shear is given also in Figure 4, where G is the
shear modulus. If we calculate the ratio of these two relaxa-
tion times for each bed of a thrust sheet, then the ratios reduce
to the elastic constants of each bed, which can be calculated
from seismic reflection profiling data (Bombolakis 1989a).
For some beds, T ‘ can be 2/3 smaller than T, in which case
layer-parallel shear should be more dominant than layer-
parallel shortening for appropriate values of 1/6. Conse-
quently, the idealized scheme in Figure 4 illustrates how these
concepts can be tested with deformation profiles of the
simpler thrust sheets described by Sanderson (1982) and
Mitra & Protzman (1988).

The implications of these concepts are illustrated by the
Hogsback structure in Figure 2 with respect to Figure 1.
Elastic stiffness contrasts between the sedimentary packages
along h, and h, in Figure I indicate that some or much of the
sequential imbrication in Figure 2 probably had been associ-
ated with seismic deformation inthe ramp region (Bombolakis
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(1) Preseismic:

(2) Coseismic:

(3) Postseismic:

U

with relaxation time

T = nE

Figure 3. Conceptual Maxwell model, illustrating relaxation of coseismic
elastic tectonic strain imposed on sedimentary package along h, in Figure 1.

1989a). If this is correct, then the recurrence intervals of the
fault-slip events must have been appreciably shorter than the
relaxation times of layer-parallel shortening and layer-paral-
lel shear of the competent strata. For example, the Twin
Creek limestone lies stratigraphically above the Nugget sand-
stone in Figure 2, but there is no evidence of significant layer-
parallel shortening of either of these formations within the
resolution of subsurface data. Layer-parallel shortening of
the Twin Creek limestone due to pressure solution is minor in
this part of the Wyoming Salient (Mitra et al. 1984).

The deformation of the competent sequence in Figure 2 is
dominated by flexural-slip folding and imbrication (Delphia
& Bombolakis 1988). And the fact of the matter 1s that
modern examples of seismically induced flexural-slip have
been recognized in recent years; notably, bedding slip in a
syncline due tothe April 7, 1981 ML 2.5 Lompac earthquake
in the northwest Transverse Ranges (Yerkes et al. 1983),
bedding slip in a syncline due to the 1980 El Asnam earth-
quake in Algeria (Philip & Meghraoui 1983), and a stage of
flexural-slip folding of an anticline along the Elmore Ranch
fault during the 1987 Superstition Hills earthquake sequence
in the southern San Andreas (Klinger & Rockwell 1989).

Concluding remarks

Recurring earthquakes along a specific fault segment can be
viewed as elastic rebound with respect to ‘asperities’ and
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Partitioning Seismic Strains :

1. Estimate T/ g Gradlent from Deformation Profile:

Figure 4. Idealized example of partitioning layer-parallel shortening and
layer-parallel shear within a thrust sheet in terms of relaxation times T and
T*. See text.

barriers (Aki 1984). In the case of faultcreepevents, Wesson
(1988) finds that they can be viewed as arising from (1) stress
applied from external sources, (2) stress caused by geometry
and distribution of displacement on the fault, arising from the
elastic response of the surrounding medium to the
displacements within the inelastic fault zone itself, and (3)
constitutive relations and yield point phenomena that charac-
terize slip resistance along the fault. (Wesson’s models
currently do not incorporate inertial forces).

These parameters are incorporated here in prototype mod-
els that include inertial effects. In the case of a typical
earthquake, (P - S) in equation (3) is directly proportional to
stress drops calculated in earthquake seismology (Bombolakis
1989a). The alteration of fault-zone material, however, can
alter fault-slip style along specific segments of adecollement.
The constitutive relations for the segments probably are very
complex, and so it is more convenient to characterize several
effects of fault-rock behaviour by damping parameters.
Damping factor 8, for example, can be calculated directly
from basic field parameters in equation (5). In the case of
episodic fault creep associated with yield point phenomena,
P is the peak shear strength equal to or greater than the yield
point, depending on work hardening. The resultis that (P - S)
is the stress drop associated with work softening, where S can
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be calculated from a steady-state creep flow law when appro-
priate. (P - S) therefore can be larger than the stress drop
associated with the initial phase of a fault-creep event. This
is one reason why the approximate sign is employed in
equations (3) and (4); other reasons are discussed elsewhere
(see discussion and relevantreferences in Bombolakis 1989a).
Forvery heavy damping, the fault displacement is very small,
regardless of whether (P - S) is larger than the stress drop
associated with the early phase of the motion. Consequently,
because of opposing damping and inertial effects, the relation
between & and the fundamental frequencies of active thrust-
block segments is one of the critical relations that determine
whether fault slip may occur as a typical earthquake, slow
earthquake, or a relatively rapid or slow fault creep event.

Theanalysis of the Hogsback thrust sheet inthe Kemmerer
region illustrates potential modes of emplacement of external
thrust sheets in a foreland belt. For each style of fault slip
event analysed here, the increment of shear resistance asso-
ciated with velocity-dependent fault damping is (7, - S) < (P
-S). And for (t, - S) as small as 0.1 bar, data analysis for the
Kemmerer region demonstrates that the 12 or more km of
cumulative net slip could not have developed at average
geologicalsliprates. Instead, the Hogsback sheet would have
had to be emplaced via more rapid types of recurring fault
slip. Potential exceptions permitting emplacement at average
geological slip rates include thrusting along salt and the LPS
thrusting described by Geiser (1988), which do not apply to
the Hogsback sheet (Delphia & Bombolakis 1988). Further-
more, fault-rock studies of several foreland thrusts in the
Appalachians indicate that fault slip involved cycles of work
hardening and work softening (Wojtal & Mitra 1986, 1988;
Woodward et al. 1988). Hence, in view of the relatively rapid
forms of fault slip operating in active zones of the upper
continental crust, it is unlikely that the development of
foreland belts can be analysed exclusively in quasi-static
terms. The mechanical partitioning of elastic tectonic strains
accordingly would need to include analyses based on rela-
tions between relaxation times and recurrence intervals.

Animportantobservationinrecent years is that syntectonic
extensional faulting is associated with compressional fault-
ing in several thrust belts (e.g. Platt & Leggett 1986; Wojtal
& Mitra 1986; Coward 1988). In Figure 1, the sedimentary
package of the active thrust-belt segment along vertical
section h can undergo interludes of extension during dy-
namic fault slip. However, it is not clear yet whether
extensional faulting would occur in the vicinity of h,, as was
observed during the 1941 Hartford dyke detachment faulting
event (Bombolakis 1981). Syntectonic extensional faulting
inthrust belts therefore constitutes another potentially impor-
tant problem for future study.

Constructive suggestions for revision of the preliminary manuscript were
made by P. D’Onfro and W. Rizer of Conoco Inc., R. H. Martin III of New
England Research Inc., an anonymous reviewer, and the editor of this
volume. Special thanks to Jeffrey Townsend for the arrangement and editing
of a technically difficuit manuscript.
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