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PREFACE

About one-third of the Earth’s land surface experi-
ences a hyperarid, arid, or semi-arid climate, and
this area supports approximately 15% of the planet’s
population. This percentage continues to grow and
with this growth comes the need to learn more
about the desert environment. Geomorphology is
only one aspect of this environment, but an impor-
tant one, as geomorphic phenomena such as salt
weathering, debris flows, flash flooding, and dune
encroachment pose major problems to desert settle-
ment and transportation.

The geomorphology of deserts has been the sub-
ject of scientific enquiry for more than a century, but
desert geomorphology did not emerge as an identi-
fiable subdiscipline in geomorphology until the
1970s when the first textbooks on the subject
appeared, namely Geomorphology in deserts in 1973
and Desert landforms in 1977. Also, in 1977 the Eighth
Annual (Binghamton) Geomorphology Symposium
was devoted to the theme ‘Geomorphology in Arid
Lands’ and the proceedings of the symposium were
published in the same year. The 1980s have seen the
appearance of titles dealing with particular topics
within desert geomorphology, the most notable of
these being Urban geomorphology in drylands and
Dryland rivers. As we enter the 1990s, a new genera-
tion of textbooks on desert geomorphology has
reached the bookstores. Arid zone geomorphology and
Desert geomorphology incorporate the advances in
knowledge that have occurred during the past 20
years but are primarily written for the college stu-
dent. By contrast, the present volume assumes that
the reader already has some knowledge of desert
geomorphology. It is pitched at a level somewhat
higher than the standard text and is intended to
serve mainly as a reference work.

To achieve this goal we sought out authors who
were active researchers and authorities in their
fields. We asked each to write an up-to-date review
of an assigned topic related to their speciality. These
reviews are assembled in this book and together
represent a comprehensive treatment of the state of
knowledge in desert geomorphology. The treatment,

perhaps inevitably, contains a geographical bias, in
that 14 of the 22 authors are based in North
America. Although most of them have experience in
deserts on other continents, their discussions and
the examples they draw upon are lop-sidedly Amer-
ican. The bias was perhaps inevitable (despite our
best efforts to avoid it) because modern research in
desert geomorphology published in English is
dominated by investigations conducted in the des-
erts of the American South-west. Faced with this
geographical bias, we specifically requested authors
to include research conducted outside North Amer-
ica. Different authors have succeeded in this regard
in varying degrees. Thus in spite of the bias, we
believe this book will have appeal and relevance
beyond North America and will be useful to geomor-
phologists working in deserts around the globe.

The idea for this volume emerged during an
informal field trip of desert geomorphologists
through the Mojave Desert and Death Valley prior to
the Annual Meeting of the Association of American
Geographers in Phoenix in April 1988. One author
submitted his chapter in September, even before we
had found a publisher! As we write this Preface,
almost four years later, the final chapter has just
arrived. Assembling within a limited time frame 26
chapters from 22 authors, all of whom have busy
schedules and other commitments and obligations,
is a daunting task. Those who submitted their
chapters early or on time have waited patiently for
those less prompt, while those running late have
had to sustain regular badgering by the editors.
Finally, however, the book is complete. As is gener-
ally the case with edited volumes, the quality of the
product depends very heavily on the quality of the
individual chapters, and the quality of the chapters
depends on the authors. Recognizing this, we would
like to thank the authors for their efforts in writing
this book. We are pleased with the final product,
and we hope they are too.

Athol D. Abrahams
Buffalo, USA

Anthony J. Parsons
Keele, UK
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INTRODUCTION



GEOMORPHOLOGY OF DESERT 1

ENVIRONMENTS

Anthony |. Parsons and Athol D. Abrahams

DESERT AREAS OF THE WORLD

In popular concept, a desert should be hot, barren,
and, preferably, sandy. In reality, many deserts are
few, or none of these things. Most deserts are,
however, areas of aridity, and it is upon this
property that the scientific definition of deserts has
generally hinged. Even so, providing an acceptable
measure of aridity upon which to base a definition of
desert areas has not been straightforward, and
several attempts based upon a variety of geomor-
phic, climatic, and/or vegetational indices of aridity
have been made to identify the world distribution of
deserts.

Probably the first attempt that achieved wide-
spread acceptance was the map of the distribution of
arid and semi-arid homoclimates produced by Meigs

(1953) on behalf of UNESCO, and based upon’

Thornthwaite’s (1948) index of moisture availability.
Since that time, new climatic data from a denser
meteorological network together with more informa-
tion on soils, biology, and vegetation of arid zones
have become available. In addition, a better under-
standing of the relationships among climate, soils,
and vegetation has been achieved. In response to
these data and to the growing interests in problems
of aridity and desertification, a new map (a sim-
plified version of which is presented in Fig. 1.1) has
been produced (UNESCO 1977). For this map, arid
regions were delimited partly on the basis of aridity
indices and partly from consideration of all available
data on soil, relief, and vegetation. The degree of
bioclimatic aridity was defined by the ratio of the
mean annual precipitation P to the mean annual
potential evapotranspiration Etp. Values of this
ratio at 1600 meteorological stations were mapped
and the limits of bioclimatic regions were interpo-
lated taking into account, for the regions where

there were few climatic data, the information given
on the FAO/UNESCO Soil Map of the World and
maps of vegetation. The map defines four main
classes of aridity: the hyperarid zone (P/Etp < 0.03),
the arid zone (0.03 < P/Etp < 0.20), the semi-arid
zone (0.20 < P/Etp < 0.50) and the subhumid zone
(0.50 < P/Etp < 0.75).

Taking this map as a definition, deserts encom-
pass a much larger tract of land than would be
included in any popular delimitation. None the less,
in some regards the popular image of deserts domin-
ates. More than 40% of the world’s deserts can be
classified as hot and the remainder have hot sum-
mers but can be differentiated on the basis of the
coolness of their winters (UNESCO 1977). In other
respects, however, the popular image is erroneous.
Only about 20% of deserts are covered by aeolian
sand deposits, and truly barren areas occupy only
13% of deserts. Mountains are the commonest land-
forms, and if any surface cover is typical, it is sparse
grasses and shrubs, which cover 59% of deserts.

As Figure 1.1 shows, the largest expanses of
deserts are in zones approximately centred on the
tropics. Here, stable descending air of the tropical
high pressure systems maintains aridity throughout
most of the year. Three other factors may contribute
to aridity in these zones, or maintain it elsewhere.
The first of these is the presence of a large land
mass. Large land areas disrupt the zonal pattern of
global pressure systems and impose their own
strongly seasonal one. In winter, the land mass,
cooler than its surrounding ocean, becomes the
location of a high pressure system. In summer,
despite being the centre of a low pressure system,
distance from the ocean prevents the ingress of
substantial quantities of rain-bearing air. The large
desert area of northern Africa and Arabia is due to a
combination of this factor with the location of the

Geomorphology of Desert Environments. Edited by Athol D. Abrahams and Anthony J. Parsons. Published in 1994 by Chapman & Hall,
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Tropic of Cancer. This desert area extends north-
ward into central Asia as a result of the size of this
land mass. Mountain barriers are the second addi-
tional cause of aridity. Areas in the lee of mountain
ranges are both shielded from rain-bearing winds
and are subject to descending winds. The extra-
tropical deserts of North and South America owe
their presence to this effect. Finally, there is the
influence of cold currents on the eastern margins of
oceans. This factor accounts for the extension of
hyperarid conditions in the Atacama desert to near-
equatorial latitudes.

DESERT CLIMATES

Whether due to their presence beneath the tropical
high pressure systems, in the far interior of conti-
nents, or in the lee of mountain ranges, in most
deserts a lack of rainfall is accompanied by a high
diurnal range of temperature, low average humidity,
and predominantly cloud-free skies (Figs 1.2a, b and
c). It is also a characteristic of deserts that they
experience great climatic variability at all scales. At
the daily scale it is fluctuation in temperature which
is most marked, typically very similar to the annual
range in mean daily temperature. The effect of this is
to raise pre-dawn relative humidity substantially so
that for some part of the year dew is present for brief
periods of the day in many desert areas. On a longer
timescale it is variability in precipitation which is
most marked. Of all parts of the Earth’s surface, arid
areas have the highest average deviation in annual
rainfall (Morales 1977) and, generally, this deviation
increases as the mean annual precipitation de-
creases. Although for many purposes it is the
probability that the mean annual rainfall will not
occur which is significant, for geomorphology the
more important element of this variability is the rare
occurrence of extremely large rainfall events. Baker
(1984) documented the effects of between 170 and
267 mm of rain (between 64 and 100% the mean
annual rainfall) falling during five days in the
Tucson area in 1983. Flood peaks in the Santa Cruz
and Rillito Rivers resulted in immense channel
changes and pronounced bank erosion in the incised
reaches of these rivers (Fig. 1.3). Baker (1984, p. 217)
drew attention to differences between observed and
predicted channel responses. ‘So much channel
enlargement occurred during the 1983 flooding that
even the 1470 m*/sec (52 000 cfs) flood peak failed to
achieve the extent of overbank flooding predicted
... for a much smaller flow. On the other hand,
local channel migration moved the active floodway
into zones predicted to have only the risk of over-
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bank floods rarer than the 500-year event.’

Precipitation in deserts is subject not only to
temporal variability but also to extreme spatial
variability. Figure 1.4 shows isohyets for Walnut
Gulch experimental watershed for summer rainfall
in 1967 and 1969. In the former year there is a more
than twofold variation in summer rainfall across the
watershed and in the latter a near threefold varia-
tion. Furthermore, the two years show no similarity
in the spatial distribution of the rainfall.

The exceptions to this general pattern of desert
climates are the coastal deserts adjacent to cold
ocean currents (Fig. 1.2d). These deserts are char-
acterized by smaller annual and daily temperature
ranges, cloudiness, high humidity but, typically,
hyperaridity. Like all other deserts, however,
variability in precipitation is characteristic. At Arica,
for example, the 10 mm of rain that fell in one day in
January 1918 accounted for about a third of the total
rainfall received during half a century (Miller 1976).

THE CONCEPT OF DESERT GEOMORPHOLOGY

The notion that the desert areas of the world possess
a distinct geomorphology has a long history and, in
many ways, is informed by the popular concept of
deserts. Not surprisingly, early explorers in deserts,
particularly Europeans travelling in the Sahara from
the late 18th century onwards, were impressed by,
and reported on, the unusual features of these areas.
Rock pedestals, sand dunes, and bare-rock hills
rising almost vertically from near-horizontal, gravel-
covered plains all contributed to the impression of a
unique landscape. This spirit of exploration in a
totally alien landscape continued into the 20th cen-
tury, so that as late as 1935 R.A. Bagnold wrote of
his travels in North Africa during the preceding
decade under the title Libyan sands: travels in a dead
world (Bagnold 1935). Emphasis on the unusual and
remarkable landforms of desert areas and a coinci-
dent emphasis on the hot tropical deserts had a
profound impact on attempts to explain the geomor-
phology of deserts.

Of particular influence in shaping a view of the
uniqueness of desert landscapes, due in large mea-
sure to his influence in shaping geomorphology
overall, was W.M. Davis who was sufficiently per-
suaded of the distinctiveness of desert landscapes
that in 1905 he published his cycle of erosion in arid
climates. Davis held the opinion that, notwithstand-
ing the infrequency of rainfall in desert areas, the
landforms resulted primarily from fluvial processes.
Only towards the end of his cycle of erosion did
aeolian processes come to play a dominant role.
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Figure 1.2 Climatic characteristics of (a) Wiluna, Australia; (b) San Juan, Argentina; (c) Khorog, Tadzhikstan; and (d)
Swakopmund, Namibia (source: Landsberg 1972).
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Figure 1.3 Channel changes along the Santa Cruz and Rillito Rivers, Tucson, Arizona, following an extreme rainfall event
(after Baker 1984).
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Figure 1.4 Isohyets for summer rainfall in (a) 1967 and (b) 1969 at Walnut Gulch experimental watershed, Arizona (after

Osborne 1983).

Subsequently, there has been substantial debate on
the relative importance of fluvial and aeolian proces-
ses in desert landform evolution. However, the
essence of Davis’s viewpoint, namely that arid areas
are subject to a unique cycle of erosion, was main-
tained for much of the 20th century in the work of,

for example, Cotton (1947) and, in a wider context,
in the many writings that stem from the concept of
climatic geomorphology (e.g. Birot 1960, Tricart and
Cailleux 1969, Budel 1963).

Central to this concept of desert landforms and
landform evolution is the assumption that similar-
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ities of climate throughout desert areas outweigh
differences that may arise from other influences.
Three such influences are worth mentioning here.

First, there is the effect of geologic differences.
Whereas some deserts, for example the Kalahari and
the deserts of central Australia, are located within
areas of tectonic stability, others, such as those in
western North and South America and in the Jordan
valley, are on active plate boundaries. Furthermore,
deserts are underlain by a variety of substrates. In
northern Sudan, for example, the area to the west of
the Nile is dominantly underlain by Nubian sand-
stone, whereas to the east it is mainly underlain by
schists, gneisses, and granites of the Basement
Complex. There is no reason to expect all these areas
to exhibit any greater landform similarity than the
landscapes of Amazonia and Papua New Guinea
which, likewise, share a similar climate but differ in
their geologic setting.

Second, there is the influence of climatic change.
It has long been recognized that desert areas have
had different climates in the past and that some of
their landform features may owe more to former,
more humid, climates than to the present arid one.
But, as Thomas (1989) has shown, just as different
climates have been experienced by all desert areas in
the past, so different desert areas have different
climatic histories (Fig. 1.5). To the extent that aridity
may preserve landforms created under more humid
conditions (Peel 1960) different histories of the
world’s deserts may explain some of their landform
differences. But, conversely, similar landforms may
be accounted for by similar histories.

Finally, there is the effect of man on the vegeta-
tion cover of deserts. One of the most obvious
differences between the deserts of the Middle East
and North Africa, on the one hand, and those of the
New World, on the other, is the comparative sparse-
ness of vegetation of the former. In part, such
differences may be due to differences of aridity, but
even comparing two areas of very similar rainfall a
difference is apparent. At a more local level, there
are striking differences in vegetation cover either
side of the boundaries of Indian reservations in the
American South-west that reflect differences of graz-
ing intensities by stock animals. In so far as vegeta-
tion cover is a control of geomorphic processes (e.g.
Parsons et al. 1992), the study of desert landforms
must take account of the history of human occu-
pancy.

In more recent times, the emphasis of geomor-
phology has shifted away from morphogenesis with-
in specific areas towards the study of processes per
se. This shift, coupled with recognition that deserts

extend to areas beyond the tropical high pressure

"belts, in large measure undermines the distinctive-

ness of desert geomorphology. Thus, for example,
Schumann (1989) in his study of anabranching of
Red Creek in arid Wyoming (mean annual precipita-
tion of 165 mm) drew a parallel between the flashy
regime of this river and that of the Yallahs River
studied by Gupta (1975) in Jamaica, where the mean
annual rainfall exceeds 2000 mm. Likewise, Abra-
hams and Parsons (1991) compared their findings of
the relationship between resistance to overland flow
and gravel concentration on piedmont hillslopes in
southern Arizona (mean annual precipitation of
288 mm) to similar work undertaken by Roels (1984)
in the Ardeche basin, France (mean annual rainfall
of 1036 mm). An emphasis on process studies,
together with the recognition that similar processes
may operate in diverse environments, therefore
raises the question whether it is now meaningful to
use the term desert geomorphology and, if so, what
should it denote?

Notwithstanding all the problems that may be
encountered in defining a set of unique and charac-
teristic landforms for the world’s arid lands, the fact
remains that in travelling over the Earth’s surface,
for example equatorward from the temperate areas
or poleward from the wet tropical areas, there are
progressive climatic and vegetational changes.
Along some directions rainfall becomes less, more
infrequent, and sporadic, vegetation becomes smal-
ler and patchy, and bare ground becomes more
common. Desert geomorphology can effectively be
defined as the geomorphic consequences of these
climatic and vegetational changes. Under this defini-
tion, as in Figure 1.1, the term desert is used in this
volume broadly to include all hot, warm, and
temperate, arid and semi-arid areas of the world.

ORGANIZATION OF THE BOOK

This book focuses on geomorphic processes and
their effects in desert areas. The effects of most
processes are spatially limited so that it is possible to
identify within any landscape a set of process
domains within which particular processes are pre-
eminent. The book is organized around these pro-
cess domains. Different domains dominate different
deserts so that a first consideration needs to be the
distribution of these domains across the deserts of
the world. In the second chapter of the introductory
section, therefore, the world’s deserts are compared
from the point of view of these process domains.
Some processes, particularly weathering and soil
formation, are less constrained into specific process
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12 Geomorphology of desert environments

domains than others. Because of their widespread
effects across all desert terrain types, these processes
are considered in the second section of the book.
The next five sections examine the processes of the
five main process domains of deserts: hillslopes,
rivers, piedmonts, lake basins, and aeolian surfaces.
In the final section of the book, we step outside the
present spatial pattern of processes and process
domains, which are no more than a short-term
expression of the contemporary climate, to examine
how the processes and process domains of deserts
respond to and are able to provide information
about climatic change.
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GLOBAL DESERTS: A GEOMORPHIC 2

COMPARISON

Theodore M. QOberlander

INTRODUCTION

Among the most fascinating aspects of deserts is
their diversity. The North American deserts (or
‘semi-deserts’ in the terminology of Old World
observers) exemplify the range in climates, land-
forms, and biota possible in a relatively small area of

year-around moisture deficiency. Clearly, Utah’s.

Canyonlands, California’s Death Valley, and Arizo-
na’s Saguaro National Monument present altogether
different landform associations, each of which can
be understood only by independent analysis.
However, even such diverse landscapes as these
hardly prepare one for the unique phenomena
encountered in portions of the hyperarid ‘true de-
serts’, such as the Chilean Atacama and the eastern
Sahara of Libya and Egypt, each of which is itself
morphologically distinctive.

Differences in the landform associations of the
various desert regions of the Earth are inevitable in
view of the contrasting geologic and climatic histor-
ies of those portions of the continents that escape
the influence of precipitation-generating atmospher-
ic mechanisms. While ensuing chapters will make
clear the complexity of specific desert geomorphic
phenomena, this chapter will attempt to establish
that the desert regions of the Earth are distinctive
individually, each presenting certain unique land-
forms and analytical problems. As space limitations
preclude scrutiny of every major desert region, four
instructive examples are compared: the North Amer-
ican deserts, including both platform and mountain
and basin (basin and range) types of deserts accord-
ing to Mabbutt's morpho-structural classification
(Mabbutt 1977); the Saharo-Arabian realm, including
platform, shield, and sand deserts; the Australian
deserts, comprised of platform, shield, sand, and

clay deserts; and the Atacama Desert of Chile, which
includes basin and range topography and ignimbrite
blankets. Additional treatments of the Thar, Namib-
Kalahari, Irano-Afghan and Inner Asian deserts, and
Patagonia would introduce a host of additional
unique geomorphic phenomena. In the following,
there is no attempt to present complete or even
balanced descriptions of regional geology and phy-
siography. The objective throughout is to highlight
the unique phenomena of major deserts, not to
inventory their geographies in a systematic manner.
Because of space constraints, the characteristics of
the North American deserts are sketched in a cur-
sory manner, without detailed references, as a point
of departure for consideration of less-familiar re-
gions.

THE NORTH AMERICAN DESERTS

The disparate scenery visible in a relatively small
area makes the North American deserts the most
geomorphologically diverse of all desert regions. The
extreme contrast between the fluvially dissected
platform setting of the Colorado Plateau, dominated
by cuestas and canyons, the tectonically dominated
extensional terranes of the Great Basin region to the
west, and the older erosional relics of the Basin and
Range area farther to the south has no equivalent
elsewhere.

The North American dry realm (Fig. 2.1) is rather
moderate in the climatic sense, with xerophytic
vegetation, including arborescent species, visible
almost everywhere. Only Death Valley, California,
and the Lower Colorado River region qualify as
hyperarid, with a ratio of precipitation to estimated
potential evapotranspiration (P/Etp) less than 0.03.
Rainfall is recorded annually at all stations, with
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Figure 2.1 North American deserts. Stipple shows arid areas in which P/Etp is less than 0.20. Solid lines within stipple
indicate hyperarid regions in which P/Etp is less than 0.03. Only Death Valley and the Lower Colorado River region are

hyperarid by this definition (adapted from UNESCO 1977).

seasonality shifting from winter in California to
summer in Arizona and New Mexico. In addition to
the pluvial/interpluvial oscillations of the Quater-
nary, a more humid past is evident in the Tertiary
flora of the region which indicate a gradual drying
trend beginning in Miocene time, when the south-
western United States and adjacent Mexico sup-
ported vegetation ranging from temperate and tropi-
cal forest and woodland to semi-arid woodland and
chaparral (Axelrod 1983).

THE COLORADO PLATEAU

Were it not for the incised Colorado River, the
platform desert of the Colorado Plateau, centred on
the common corners of Utah, Arizona, Colorado,
and New Mexico, would be an erg-spattered low-
relief cuestaform desert, like the Saharo-Arabian
example. This was indeed the case intermittently for

100 m.y. prior to the disintegration of the Pangaean
supercontinent. The platform sediments overlying
the craton here are more thoroughly arenaceous
than those of the Sahara, being dominated by
lithified dune sands and shales from Permian
through Jurassic time. However, the mid-Tertiary
uplift of the region, the collapse of the Great Basin to
the west, and the linkage of separate fluvial ele-
ments to form an incised through-flowing Colorado
River system by 4Ma has evacuated the sandy
sediments that would otherwise be trapped in a
regional aeolian system of the Saharo-Arabian type,
likewise evident in relict form in the Kalahari and
Australian deserts.

Current understanding of the tectonic and hydro-
logic evolution of the region has been summarized
by Patton and Morrison (1991) and the geomorphol-
ogy is treated systematically by Graf et al. (1987). The
plateau landscape is a textbook illustrating the
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Figure 2.2 (a) Aerodynamically streamlined slickrock form in aeolian sandstone on the Colorado Plateau: possibly a rock
yardang. (b) Alluvial fan in Death Valley, California, with aggradational surfaces of at least six different ages evident.

effects of differential erosion in lightly deformed
sedimentary strata of varying strength. Canyons,
cuesta scarps, and plains stripped to bedrock domin-
ate, with details including major discordances be-
tween stream courses and geologic structures; the
presence of both ingrown and entrenched stream
meanders; canyon sinuosity variations related to
jointing and stratigraphic dips; evidence that
groundwater sapping has influenced the growth of
tributary canyons; rock arches, natural bridges, and
exfoliation effects in massive sandstones; relict large-
scale slope detachments; small areas of active sand
dunes; and recently recognized aerodynamic forms
(yardangs) resulting from aeolian erosion of consoli-
dated rock (Fig. 2.2). Evidence of cycles of arroyo
cutting and filling is common to all arid regions.

Rates of retreat of composite cliffs on the Colorado
Plateau have been estimated by a variety of
methods, including recession from datable lava
drapes, positions of datable packrat middens in
caves, canyon geometry, and inferred ancient scarp
positions based on strike valleys. Results vary from
0.16 to 6.7 m per 1000 years. A range of results is
inevitable given varying jointing, caprock loads, and
strengths of substrates. Young (1987) has stressed
that the majority of scarp retreat on the Colorado
Plateau occurred prior to canyon incision, perhaps
as long ago as Laramide time. Consequently, most
cuesta scarp retreat in Dutton’s famed ‘Great De-
nudation” occurred under climatic and base level
conditions quite unlike the present.

THE BASIN AND RANGE REGION

The basin and range region of western North Amer-
ica contains several subdivisions based on geology

and tectonics, but the most significant geomorphic
contrast is between the area of ongoing relief genera-
tion by tensional faulting, extending from the east
face of California’s Sierra Nevada to the front of the
Wasatch Range in central Utah, and the area extend-
ing southward from southern California, Arizona,
and New Mexico into Sonora and Chihuahua, Mex-
ico, in which lateral movements and broad warping
disturb a dominantly erosional landscape. The
geomorphology of the region has been discussed
comprehensively by Dohrenwend (1987).

The area of active crustal extension centred in
Nevada is a remarkable display of linear subparallel
mountains, mostly either rotated listric slabs or
horsts, bounded on one or both sides by faults
rooting at depth in a horizontal ductile zone of
regional extent. Increasing numbers of smoothly
descending range ‘noses’ composed of Precambrian
to Mesozoic complexes of metamorphic rocks are
being identified as tectonically stripped detachment
surfaces — essentially the tectonically unloaded, ex-
posed, and arched soles of listric faults. Wernicke et
al. (1988) computed east-west extension of the basin

.and range region at the latitude of Las Vegas at

nearly 250 km. In the region of ongoing extension,
range front morphologies reflect the recency of
vertical movements on range-bounding faults.
Straight or rhombic range fronts with faceted spur
ends indicate active vertical displacements, whereas
erosionally frayed base lines bespeak lengthy tec-
tonic stagnation. Scarps breaking late Pleistocene
glacial moraines and Holocene alluvium clearly indi-
cate continuing seismic activity throughout the re-
gion.

The transition from eroding mountain block to
adjacent subsiding basin takes the form of an apron
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Figure 2.3 (a) SPOT (Satellite Probatoire pour 'Observation de la Terre) image of Death Valley displaying typical basin
and range form asymmetries. Higher Panamint Range (top) nourishes large alluvial fans having multiple surfaces evident
in tonal variations reflecting degrees of rock varnish development. Abrupt scarp of lower Black Mountains (bottom)
displays recent fault displacement and small, steep, faulted alluvial fans. North is to the right. (b) Bedrock pediment of
Coxcomb Range, Mojave Desert, California, with a younger alluvial fan superimposed in the distance.

of coalescing alluvial fans. These usually exhibit
multiple surfaces of contrasting age and geomorphic
character, indicating periodicity in fan aggradation
and/or frequent shifts in the loci of deposition (Fig.
2.3). Fan surfaces vary with respect to preservation
of depositional bedforms, development of desert
pavement and desert varnish, clast size, degree of
dissection, and presence of age-diagnostic pedogenic
features. Multiple fan surfaces in the basin and
range region have been attributed to tectonic warp-
ing, climatic oscillations, and steady-state develop-
ment involving repeated diversions of the aggrading
fan-building wash by gullies heading on the fan
surface. Episodes of fan aggradation have been
attributed to humid phases when destructive debris
flows are minimized, arid phases when constructive
debris flows dominate, and the humid-to-arid transi-
tion when loss of vegetative protection causes collu-
vial mantles developed during pluvial episodes to be
stripped and translocated to fan surfaces (Wells et al.
1987) (Chapter 23).

Tectonic depressions in the basin and range region
contain clay and evaporite pans and relict channel
systems that indicate past overflows from one plu-
vial lake to another. Late Pleistocene deep lake
conditions (not necessarily synchronous) in the en-
doreic basin and range region have been imprinted
on hillslopes and piedmonts as conspicuous relict
shorelines composed of cliffed bedrock and deposi-
tional spits, deltas, and shoreline tufa particularly in
the Lahontan and Bonneville basins in western
Nevada and western Utah, respectively.

Dunes are present in many of the basins and are
usually dominated by transverse barchanoid forms
or stellate dunes with multiple arms converging on
central peaks as much as 200m high. The latter
appear to reflect seasonal changes in sand-moving
winds. Great Basin dune fields are small, with
occasional draa-scale forms, and most are proximal
to Pleistocene lake shorelines, with little or no
progressive displacement of dune forms under mod-
ern conditions.

South of a line from California’s Tehachapi Moun-
tains to Phoenix, Arizona, active listric normal fault-
ing ceases and endoreic basin and range landscapes
have been dominated since Miocene time by erosion
of a former extensional terrane of complex origin
that has been reduced to isolated ranges surrounded
by extensive ramp-like bedrock pediments. In the
deserts of southern California, Arizona, and north-
ern Mexico, granite is a dominant lithology, which is
reflected in abrupt piedmont angles at the junctions
of boulder-clad hillslopes and grus- or sand-covered
pediments with slopes of 2° to 7°. These ramps
expose bedrock to distances of kilometres from
boulder-clad hillslopes (Fig. 2.3). Shallow Quater-
nary alluvial fans are commonly superimposed over,
and may completely obscure, the antecedent bed-
rock pediments of the larger ranges.

In California’s Mojave Desert metres-deep, strong-
ly oxidized granitic weathering profiles preserved
under early to mid-Pliocene basalts and alluvial fills
indicate that pedimentation by parallel rectilinear
slope retreat occurred in a prior soil-covered semi-



arid landscape pre-dating the onset of full desert
conditions in this portion of North America.
Although cycles of colluvial generation and stripping
have occurred on jointed rock during the Pleistocene
(Wells et al. 1987), the distribution of dated volcanic
remnants indicates that the major slope retreat
producing the broad pediments occurred in pre-
Quaternary time.

The basin and range area of western North Amer-
ica includes several large volcanic fields, each with
age control by K/Ar dating. The time spans repre-
sented, from late Pliocene to Holocene, have been
useful in establishing rates of a number of geomor-
phic processes, including chemical leaching trends
in rock varnish, the accretion of aeolian dust that
lifts desert pavements, drainage formation and sub-
sequent cone dissection, and surface lowering by
erosion below datum levels.

SAHARO-ARABIAN DESERT

The Red Sea Rift interrupts the world’s greatest
continuous desert expanse (Fig. 2.4), which dwarfs
the North American arid zone, reaching 7500 km
across North Africa and Arabia, from the Atlantic
Ocean to the Persian Gulf, comprising some 12 X
10° km? of shield and platform desert — about 9% of
the Earth’s ice-free land area. The vastness of the
Saharo-Arabian desert realm can be appreciated by
the fact that all of France could be swallowed in
Arabia’s Rub Al Khali sand sea, which itself consti-
tutes less than one-twentieth of the desert region.
The vast majority of this expanse is free of perennial
vegetation and is classified as hyperarid (P/
Etp <0.03), with extremely hot summers and mild
winters. The eastern and western margins average
less than 100 mm of rainfall annually, declining to
less than 10mm in the Nile Valley and Libyan
Desert region. Annual Etp values are between 1100
and 1700 mm. Computed water deficits for the single
month of least moisture stress can exceed the total
annual precipitation by 10 to 20 times (Oberlander
1979).

GEOLOGIC STRUCTURE

The Afro-Arabian (Nubian) craton has been exposed
by erosional stripping of platform sediments during
the rise of the Red Sea arch that began to rupture in
the late Eocene. The Arabian peninsula is the east-
ern half of the ruptured swell, with a series of
well-defined cuestas composed of Precambrian to
late Tertiary platform sediments backing toward the
Persian Gulf, exposing a progressively expanding
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area of ancient crystalline rock to the west. Eocene~
Oligocene flood basalts veneer the high edge of the
Arabian shield and episodic basaltic volcanism has
continued into the Holocene.

Crystalline rocks of the craton also form the
surface west of the Red Sea in Egypt and the Sudan,
disappearing under a Paleozoic to Eocene
sedimentary succession along the margins of the
Nile Valley. The immense accumulation of flood
basalts at the junction of the East African, Red Sea,
and Gulf of Aden rifts lifts Ethiopia out of the desert
climatic zone. Across North Africa, the geologic
structure consists of a series of basement uplifts that
expose ancient crystalline rocks, separated by ex-
panses of platform sediments and cuestaform land-
scapes. Over large areas the sedimentary series is
obscured by sand seas (ergs). Surmounting the
basement uplifts, and rising to 3000 m in the Ahag-
gar and 3400 m in the Tibesti of the central Sahara
are younger volcanic forms, both constructional and
denudational, including sizeable volcanic calderas
and clusters of volcanic necks.

North Africa and Arabia entered the Tertiary as a
realm of tropical forests, which gave way to savan-
nas during the Oligocene. True aridity is first evi-
dent in the Oligocene in the form of aeolian sand
deposited in the Atlantic (Sarntheim 1978). From
Pliocene time onward, Saharo-Arabian climates have
oscillated between subhumid and arid, with moist
intervals recorded by soil development, fluvial activ-
ity, tufa deposition, and the appearance of lakes and
marshes, while aridity is evidenced by fragmenta-
tion of fluvial systems, lake desiccation, and in-
creased aeolian activity. Detailed reviews of the
evidence for late Quaternary climatic changes affect-
ing the Sahara and adjacent regions are given by
Rognon (1976) and Alimen (1982). While the south-
ern and central Sahara were gripped by aridity
during the height of the late Pleistocene glacial
phase, the northern Sahara and Arabia experienced
a climate more humid than the present, with wadis
carrying water from the High Atlas ranges far into
the desert.

Except for unusual intervals from c. 12000 to
11000 years Bp, when aridity seems to have ex-
panded to both the north and the south and a
generally humid phase from c. 9000 to 8000 years sp,
the different precipitation-generating mechanisms of
the middle and low latitudes have kept the climates
of the northern and southern Sahara in opposition.
The late Pleistocene desiccation of the southern
margins (the Sahel) coincided with pluvial climates
in the northern Sahara and Arabia, whereas at
present the northern and central Sahara are desic-
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cated and the Sahelian dunes overlook marshes and
permanent streams.

AEOLIAN LANDSCAPES

An exceptional aspect of the Saharo-Arabian deserts,
other than their vast extent, is the fact that large
areas within them truly are dominated by the factor
popularly (but usually incorrectly) identified as the
prime creator of desert scenery — the action of wind!
Although some 80% of Saharo-Arabian platform and
shield landscapes consist of gravel regs and rocky
hamadas, themselves bearing evidence of aeolian
scour, the most arresting phenomenon of these
deserts is their spectacular sand seas, or ergs.
Orbital photography and Landsat images stimulated
interest in ergs and resulted in the first general
theories of erg formation and evolution (Wilson
1971, 1973, McKee et al. 1977, Mainguet 1978,
Fryberger and Ahlbrandt 1979). Soon afterward,
McCauley et al. (1977) began to revolutionize think-
ing about aerodynamically streamlined forms in
consolidated rock in desert regions, vastly expand-
ing our appreciation of the importance of aeolian
erosion.

In the Saharo-Arabian region sand accumulation
has occurred at some 20 important depocentres
separated by gravel regs or rock hamadas. The sand
accumulations in the Saharo-Arabian ergs are enor-
mous relative to ergs in most other locations, with
spread-out (mean) sand thicknesses of 20 to 43 m,
and mean local thicknesses exceeding 100 m (Wilson
1973). By comparison, the mean sand thickness in
Australia’s Simpson Desert is estimated by Wilson at
about 1 m.

Most Saharan ergs do not appear to be downwind
from alluvial sediment sources as in the North
American deserts: rather, the sands appear to be
cycled from one erg to the next by sand flows across
intervening surfaces. While Saharan sands seem to
have their provenance in the continental platform
series (continental intercalaire), itself derived from
the craton, the specific sources and histories of the
erg sands have yet to be elucidated.

Aeolian scour producing bedrock yardangs in
dune-free hamada regions has greatly assisted in the
verification of regional sand flows between linked
aeolian depocentres. This is especially clear west of
the Nile in Egypt and in the Tibesti region of Libya
and Chad. In the Saharo-Arabian region the flow of
sand tends to be clockwise in a general sense. Along
the northern fringe of the Sahara, the drift of sand
and dust is toward the east-north-east along the
Mediterranean coast and south-east farther inland.
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Sand streaks and dune forms reveal that this flow
curves strongly to the south-east from Libya to
central Arabia and to the south and south-west in
the Rub Al Khali of southern Arabia, where it
corresponds to the directional trend all across the
southern Sahara — aligned with the infamous har-
mattan ‘trade” winds of the Sahel region, but driven
by less frequent winds of greater force.

Complications appear in the interior of the Sahara,
where wind roses, yardangs, and dune forms reveal
subsidiary circulations induced by the pattern of
highlands, particularly the Ahaggar and Tibesti mas-
sifs. Large ergs are absent from the central Saharan
region (southern Algeria) despite nearby sand
sources in the large wadis (episodic or fossil at
present) that issue from the Saharan highlands (see
Fragmented fluvial systems below).

The Saharo-Arabian ergs include every type of
desert dune, with many instances of abrupt transi-
tion from one type to another. Anomalous rela-
tionships between adjacent dune forms in the large
Saharo-Arabian ergs, as seen on morphological
maps and satellite images, indicate controls and
histories that are far from clear at present.

The aeolian forms visible on standard satellite
images are actually all very large draas, or mega-
dunes up to 300 m in height and spaced at intervals
of 1 to 2.5km, which support smaller subsidiary
dunes. Some individual ergs, like the Grand Erg
Occidental of Algeria, contain an astonishing varie-
ty of draa morphologies, as seen on the maps in
Breed et al. (1979). In the most general sense, a
tripartite - categorization of forms seems apparent,
including unlinked pyramidal draas, both linked and
unlinked crescentic transverse draas, and linear
draas. Numerous transitional and variant forms are
present, such as grid dunes with perpendicular
transverse elements, linear chains of pyramid dunes,
and feathered linear dunes. The western extremities
of both the Sahara and Arabian deserts are domin-
ated by parallel, evenly spaced, south-west-trending
linear draa, the western Rub Al Khali being con-
spicuous for its perfect ‘raked’ appearance and the
longitudinal persistence of its seif dunes.

According to Mainguet (1983), transverse and
pyramid dunes indicate net sand gains, and parallel
longitudinal dunes signify net sand loss or erosion.
Mainguet and Chemin (1983) claim that the ergs of
the north-west are the only areas of net gain in the
Sahara at present. The eastern, central, and south-
ern Sahara are seen as areas of sand loss to the Sahel
region, which is an area of major gain currently.
Maps of dune morphology in Breed et al. (1979)
more or less support this; however, wind roses in
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Figure 2.5 Aeolian landforms of the eastern Sahara. (a) Ventifacted limestone in the Libyan Desert between the Nile
Valley and Kharga Depression, Egypt. Limestone possibly karstified under pre-desert climate. (b) Moribund cuesta scarp
forming north rim of Kharga Depression. Active sand blankets the scarp and remobilizes into dunes moving southward

through the Kharga region.

Mainguet and Canon (1976) and Breed et al. (1979)
suggest that the relationship claimed by Mainguet is
far from simple.

In their present forms, the great ergs of the
Saharo-Arabian deserts, composed of red-coloured
aeolian sands, are geologically recent constructs.
According to Conrad (1969), the major phase of
accumulation of Algeria’s Grand Erg Occidental, on
the northern portion of the Saharo-Arabian gyre,
was between 10000 and 11000 years Bp. To the
south and east, on the southern half of the Saharo-
Arabian gyre, McClure (1978) and Clark (1989) found
that the linear seif dunes of the western Rub Al
Khali were built as recently as 7000 years Bp.
Beneath the active dune crests of the western Rub Al
Khali, McClure found an earlier mass of aeolian
sand that was active in the late Pleistocene (17 000 to
10000 years Bp) in the form of ancestral seif dunes.
According to McClure, no red aeolian sands in the
Rub Al Khali are older than 17000 years Bp,
suggesting that the present hyperaridity of southern
Arabia did not occur before that date.

AEOLIAN SCOUR OF HAMADAS

Images of the eastern Sahara have shown compre-
hensive remodelling of the land surface by both
corrasion and deflation in areas of unidirectional
winds. Among the most spectacular forms are the
linear rock yardangs of the Borkou area (Chad),
south of the Tibesti, described by Hagedorn (1968)
and Mainguet (1968). These are visible on satellite
images as linear striations covering areas of
thousands of square kilometres being inscribed in

both sandstone and granitic rock. Climatic oscilla-
tions are evident in younger yardangs eroded into
freshwater lacustrine deposits interfingered with
older bedrock yardangs (Busche 1979). Equally im-
pressive is the complete erasure of all fluvial features
in the wind-sculptured limestone plateau between
the Nile Valley and the Kharga Depression (Fig. 2.5).
In the latter area, scattered anomalous pits and clefts
in the marble-like silicified limestone suggest the
former presence of a karst landscape, removed to its
roots by true sandblasting (Breed et al. 1989).

FRAGMENTED FLUVIAL SYSTEMS

Both the Sahara Desert and the Arabian peninsula
display unequivocal evidence of major climatic
change in the form of fossilized large-scale fluvial
systems that appear to have been moribund for
much of the Holocene. In their upper portions these
hydrographic systems include sizeable canyons,
their floors now clogged by dunes and talus, their
thalwegs disrupted by autogenous and tributary
alluvial cones. The distal portions of these fluvial
systems are extensive inactive sand and gravel fans
or sand seas. Ergs now submerge the middle por-
tions of some of the largest of the fluvial systems in
both Arabia and North Africa.

Every highland in the Saharo-Arabian desert
realm is a source of conspicuous relict drainage
systems: the Atlas Mountains in the north-west, the
individual massifs of the Central Sahara (Air, Adrar
des Iforas, Ahaggar, Tibesti), the Red Sea (Nubian)
Hills of Egypt and the Sudan, and the western rim
of the Arabian peninsula (the Hijaz and Asir). Some



of the ancient through-flowing streams of the Sahara
and Arabia were equal in length to the greatest
streams of Europe (Wadi Igharghar, Wadi Soura,
Wadis Tamanrasset and Tafassasset in the Sahara,
and Wadi Ar Rimah, Wadi Birk and Wadi Dawasir
on the Arabian peninsula).

Currently, aggradation prevails even in the upper
portions of the fossil wadis of Arabia and the
Sahara, disrupted wadi profiles being evident in
frequent appearances of salt or gypsum crusts or
salty clays (‘wadi sabkha sediments’ of Hotzl et al.
1978a) on dune-blocked valley floors. Episodic flow
occurs within portions of the fossil wadis, resulting
from runoff on local pediments and cuesta back-
slopes, but this is so restricted that the wadis disrupt
their thalwegs with their own alluvial fans, which
form at successive points of debouchure from can-
yons and narrows.

The surprising outcome of a radar-imaging experi-
ment in the sandy Arba’in Desert of southern Egypt,
west of the Nile Valley, was the revelation of an
otherwise invisible sand-entombed system of bed-
rock channels, individually 10 to 30 km wide — equal
in breadth to the present Nile River floodplain
(McCauley et al. 1982). McCauley et al. hypothesized
that this hydrographic system, which underlies the
most arid portion of the entire Sahara, carried runoff
westward into the basin of Lake Chad, and perhaps
through to the Atlantic Ocean (McCauley et al. 1986).
What could have produced a hydrographic system
of such magnitude other than the escape of drainage
from the Red Sea Hills and also from tropical Africa
- in other words, the palaeo-Nile itself?

McCauley et al. proposed that tectonic uplift,
along with associated volcanism, formed a topo-
graphic barrier some 15m.y. ago, disrupting a west-
ward-draining hydrographic system that had func-
tioned for some 10 to 20m.y. They suggest that
desiccation of the Mediterranean some 6 m.y. ago
produced a phenomenal fall in base level, stimulat-
ing headward erosion by the ancestor of the Egyp-
tian Nile, which eventually captured the upper Nile
and diverted it from the Chad Basin to the
Mediterranean. The buried channels nevertheless
seem to have remained functional until about 4000
years BP. Burke and Wells (1989) have dissented
from this interpretation and offer several lines of
evidence indicating that the so-called ‘radar river
valleys” were merely east-draining components of
the ancient Nile, which they believe has drained to
the Mediterranean since Eocene time.

McCauley’s hypothesis is not contrary to earlier
findings indicating that the connection of the Egyp-
tian Nile to its present source in Ethiopia did not
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occur until perhaps 500 000 years ago, when Ethio-
pian sediments and tropical pollen make their first
appearance in Egypt (Malay 1969, Hassan 1976).
Butzer (1980) argued for an essentially modern Nile
by about 200 000 years sp.

The crescent-shaped Qattara Depression in north-
ern Egypt, an expanse of sabkha, sand, and reg,
19000 km® of which lie below sea level, has also
been attributed to ancient fluvial action. The de-
pression, Africa’s largest and deepest (—134 m), was
long regarded as a classic example of large-scale
aeolian deflation following dissolution of a limestone
caprock. However, recent investigators have attri-
buted the feature to fluvial erosion following the
strike of north-dipping strata, followed by either
aeolian deflation (Said 1981) or subsurface karstifica-
tion and collapse (Stringfield et al. 1974) - the one
implying climatic desiccation, the other demanding a
humid climate. Albritton et al. (1990) utilize the
Miocene desiccation of the Mediterranean as a
means of activating ground water in seaward-dip-
ping aquifers, resulting in subsurface solution and
collapse of the floor of a former Qattara fluvial valley
tributary to the Mediterranean.

KARST DEVELOPMENT IN CARBONATE AND
SILICATE ROCKS

Relict karst forms in carbonate rocks are widespread
in the Saharo-Arabian region and include collapse
features, subterranean passages, and large pits simi-
lar to the cenotes of the Mayan realm in Mexico. The
modern spring outflows on the floor of the Persian
Gulf and in the Qatif and Hasa oasis districts of
eastern Arabia are well known (Job 1978) and appear
to be overflows from separate Miocene and Plio-
Pleistocene phases of karstification (Hotzl et al.
1978b).

In eastern Arabia, some near-surface cavern sys-
tems older than the range of radiocarbon dating
were completely filled with aeolian sand that was
subsequently indurated by calcium carbonate in the
form of a duricrust including stalactites and stalag-
mites (Felber et al. 1978). The duricrust carbonate has
a date of 30000 to 32000 years sp. This unusual
complex attesting to major climatic change has been
modified by a second phase of solution that has
produced a modern generation of caverns.

Stranger still are solution forms in sandstones in
many parts of the Sahara. The phenomenon was
first noted by Peel (1941) in the Libyan Desert of
Egypt. Busche and Erbe (1987) have described solu-
tion effects in bleached quartz sandstones under
silcrete and laterite duricrusts in southern Libya and
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northern Niger, west of the Tibesti. Crusted sand-
stone plateaux here display multitudes of vertical-
walled collapse dolines, sinuous uvala-like channels,
subsurface corkscrew tubes, and intersecting cylin-
drical passages that outlet on cuesta scarps — all
apparently formed by ground water circulating slow-
ly along joints in sandstone weathered to friability in
a tropical wet environment. Busche and Erbe regard
the period of formation as pre-late Miocene. Similar
sandstone karst in Algeria was described earlier by
Renault (1953) and Mainguet (1972). All of these
researchers seem to concur that the subterranean
drainage systems antedated much of the dissection
of the plateaux and the separation of erosional
outliers that are conspicuously perforated. This phe-
nomenon, which seems ubiquitous in the sandstone
terranes of the Sahara (Mainguet 1972), seems to be
one of piping on a massive scale. Busche and Erbe
suggest that the absence of fluvial features on many
of the Saharan plateaux reflects widespread silicate
karst development in the Tertiary rather than aridity
in the Quaternary.

Very similar phenomena have been described in
sandstones in the Hasa oasis region of Saudi Arabia,
very close to the area of active limestone springs, but
are associated with Plio-Pleistocene marine terraces
and have been attributed to marine erosion (Hotzl et
al. 1978b). Maps and photographs of these ‘sea
caves’, which form rectangular, joint-guided laby-
rinths, including numbers of interior rooms with
areas greater than 100 m?, seem to leave little doubt
that the phenomena are not marine in origin, but are
another example of silicate karst inherited from the
pre-desert epoch of Arabian history.

SCARP-FOOT FORMS

Associated with subterranean silicate karst forms
throughout the Sahara are conspicuous scarp-foot
depressions, or moats, 40 to 60 m deep, first noted
in the Libyan Desert by Peel (1941). These fringe
sandstone cuestas and encircle inselbergs, isolating
them from adjacent erosional surfaces. Several
Saharan oases occur in such moats. Busche and Erbe
(1987) attributed the depressions to a continuation of
aggressive weathering in the zone of surface runoff
and subsurface water outflow at the base of scarps in
the late Pliocene, as aridity began to dry out the rest
of the landscape. They propose that the major
depressions of Egypt’s Western Desert, Kharga and
Dakhla, one aligned with the wind, the other trans-
verse to it, are similar forms.

Both Peel (1941) and Biidel (1982) noted an abs-
ence of ramp-like pediments of the North American

type around inselbergs in the Libyan Desert and in
the central Sahara. According to Biidel, all surfaces
peripheral to scarps in the Central Sahara are flat
remnants of tropical etchplains, with deeply oxi-
dized Tertiary soils preserved locally under later
volcanics. A final aspect of the Saharo-Arabian
scenery is the presence, as on the Colorado Plateau,
of ancient landslides and rotational slumps along
many cuesta scarps. As these are attributed to past
periods of humidity and cover erosional surfaces,
the latter are shown to be older still, and probably
Tertiary in age (Busche and Hagedorn 1980, Grunert
and Busche 1980). In the arid core of the Sahara,
scarps of all types appear to be essentially fossilized
at present.

THE AUSTRALIAN DESERTS

Geologically, the closest analogue to the Saharo-
Arabian platform and shield desert is that of central
Australia (Fig. 2.6), the second largest continental
area lying in the subtropical zone. Like the Saharo-
Arabian region, Australia as a whole has been free of
tectonic activity other than vertical flexing through
most of Phanerozoic time. As in the Sahara, exposed
rock surfaces in the Australian arid region reveal an
ancient episode of continental glaciation, in this case
of Permian age, during which Australia was situated
just west of the South Pole. Finally, the landscape of
the Australian interior, like that of the Saharo-
Arabian region, preserves an array of relict forms
overlain by younger aeolian features. But similarities
between the largest deserts of the Northern and
Southern Hemispheres extend little further than
these generalizations.

Whereas the Saharo-Arabian desert is hyperarid,
the Australian desert is in the arid category, with
P/Etp ratios between 0.20 and 0.03, equivalent to the
marginal regions of the Saharo-Arabian desert. No-
where is the average precipitation less than 100 mm,
and more generally it ranges from 200 to 400 mm.
The majority of the Australian arid zone receives
summer rainfall, which extends well across the
Tropic of Capricorn and far south of the desert
centre. The southern third of the desert lies in a
zone of unreliable rainfall seasonality, with a winter
rainfall zone barely touching the southern desert
fringe. While Saharan aridity indices (Ia = 100[(P/
Etp) —1]) generally exceed 95 (the hyperarid
threshold) and frequently surpass 99, no Australian
station has recorded an Ia value higher than 88.6
(Charlotte Waters, Northern Territory). At the most
xeric station in water balance terms (Tennant Creek,
Northern Territory) the moisture deficit in the least
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Figure 2.6 Australian deserts. Symbols as in Figure 2.1. No hyperarid climates (P/Etp <0.03) are present as summer
rainfall amounts are relatively high, though offset by evapotranspiration.

xeric month is 7.7% of the annual precipitation.
These statistics are reflected in the biota, with
xerophytic shrubs and grasses supporting large
foraging animals throughout the arid interior.

The Australian desert landscape is conspicuously
flat, between 150 and 300 m in elevation, with two
central highland areas in the parallel east-west-
trending Macdonnel and Musgrave ranges, each
cresting at elevations close to 1500 m. In the west the
land rises somewhat above 1000 m in the Hammers-
ley Range, which generates more radial drainage
than the somewhat higher interior ranges. The
central uplands are a region of denuded folds in
Cambrian and older sediments; to the east is a
platform, known as The Channel Country, veneered
by Jurassic and later sandstones of the Great Arte-
sian Basin; to the west is a shield exposing ancient
igneous and metamorphic rocks etched into variable
relief and spattered with dry lake beds that appear
to represent ancient fossilized drainage lines. France
and a unified Germany would together be swal-
lowed by the arid expanses to either the east or the
west of the central uplands.

The Australian arid zone displays many peculiar
geomorphic phenomena and poses numbers of yet
unresolved questions of landscape genesis. Among
these are very extensive aeolian landscapes, prob-
lematical hydrographic features, vast areas of relict
duricrusts of varying type, unusual soil phenomena,
and distinctive relief features in granites of the
craton as well as in various rocks of the platform
areas.

THE AUSTRALIAN ERGS

Aeolian deposits cover close to 50% of the Australian
arid region, the highest proportion of all of the
Earth’s deserts. However, the aeolian landscape is
conspicuously dominated by longitudinal sand
ridges (King 1960, Mabbutt 1968, Mabbutt and
Sullivan 1968), suggesting overall negative sand
budgets according to Mainguet’s criterion. Trans-
verse dunes are present, but are developed on a
much smaller scale in terms of both area and size.
Pyramid and dome-shaped forms seem absent from
the Australian ergs. The ubiquitous longitudinal
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dunes are normally less than 30 m high, averaging
only 13m in the Simpson Desert, but can be
unusually persistent, in a few instances, continuing
for as much as 300km. For the most part, the
Australian longitudinal dunes are morphologically
simple sand ridges, with single crests that often
merge downwind, unlike the far higher and more
complex seif and uruk draa of the Saharo-Arabian
ergs. While dune crests may remain active, dune
flanks in most areas support sparse grasses or
shrubs, and in many areas seem immobilized. A
vegetation cover is clearly evident in Landsat im-
ages, in which striated landscapes are often spat-
tered with irregular fire scars. Nevertheless, exten-
sive areas of active dunes, both longitudinal and
transverse, do exist, as in the Simpson and Great
Sandy deserts.

The striations created by the linear dunes veer
around Australia in a Southern Hemisphere anticyc-
lonic (anticlockwise) manner, producing a mirror
image of the Saharo-Arabian aeolian pattern. As in
the latter, the eastern (high-to-low-latitude) portion
of the gyre is strongly developed, but there is no
corresponding low-to-high-latitude closure in the
west, where all dunes have a westerly trend. The
desert centre is an upland in which large longitudin-
al dunes are replaced by scattered areas of trans-
verse dunes. Dune-free areas break the otherwise
continuous ellipse only north-east of Alice Springs
and in the Flinders Range and Lake Torrens area of
the south-east.

Most Australian sand ridges, like much of the
Australian Desert, are reddish in colour. Generally,
red coloration in dune sands has been attributed to
time, with reddening increasing in the downwind
direction (Gardner and Pye 1981). Wasson (1983)
found that in the Strzelcki-Simpson mobile dunefield
the reddest dunes (2.5 YR 5/8) were derived from
older ‘pre-reddened’ sediments of local provenance,
with lighter colorations (10 YR 7/4) in low topo-
graphic situations associated with the intrusion into
the erg of large modern streams (Cooper Creek,
Diamantina River). Wasson admitted downwind
reddening in the Simpson Desert, but maintained
the importance of different sediment sources to
account for it.

AGE OF THE DUNES

Like the dunes of the African Sahel, the Australian
sand ridges extend well beyond the desert area into
regions of marshes and seasonal streams. Clearly,
such dunes are relict, as are large expanses of dunes
in the drier interior. Wasson (1983) established that

his mobile ‘pale dunes’ in the Simson-Strzelski
Desert (at the eastern end of the Australian gyre)
developed between 23000 and 13000 years Br and
have been active only in their crestal areas in the late
Holocene. Apparently large dunes were not gener-
ated during the Holocene, as the dune chains of the
Great Sandy Desert in the north-western portion of
the gyre continue across the coastline to at least 15m
below sea level, where they are overlain by
Holocene marine deposits (Jennings 1975). There is
as yet no conclusive evidence constraining the max-
imum ages of the existing Australian dunes.

LUNETTES

Australia is the classic locality for lunettes (Bowler
1973, 1976), which are crescent-shaped clay dunes at
the downwind end of ephemeral lakes. They consist
of clays deflated from desiccated lake beds in the
form of pellets produced by the flocculating effect of
salines. Frequently the clays are blown into areas of
sand dunes that form the lunette core. The sands
represent lake high stands and beach activity, while
the clays indicate desiccation of the lake shore
during falling stages. Lunette stratigraphy, which
often includes charcoal and datable carbonates, re-
cords a long period of desiccation in southern
Australia prior to 45 000 years Bp, a humid period
from 45 000 to 26 000 years Bp, low-level saline lakes
from 26 000 to about 18 000 years Bp, and sustained
aridity from about 17 000 years BP to the present
(Bettenay 1962, Dury 1973, Bowler 1976).

FOSSIL DRAINAGE SYSTEMS

Like the Saharo-Arabian Desert, Australia is a
museum of fossilized stream systems. Certain sum-
mer-active stream systems of the Channel Country
east of the Centre, with braided reaches as much as
40 km wide (Eyre Creek, Queensland) amid imped-
ing dunefields (Francis and Jones 1984) bear a
stunning resemblance to the major defunct drainage
systems of Arabia and the Sahara, suggesting that
truly humid climates may not be required for the
development of such phenomena. The breadth of
some of the region’s channels may be a result of the
ease of planation in deeply weathered silcrete subs-
trates.

Both the Channel Country of the north-east and
the Riverine Plains draining to the Murray and
Darling Rivers in the south-east display what
appears to be three stages of drainage development
from the late Pleistocene through the Holocene.
However, these differ quite distinctly.



In the Channel Country of western Queensland,
north-east of the Centre, is a ubiquitous surface
cover of transported clays, some 5 m thick, overlying
sands deposited by older braided stream systems
(Veevers and Rundle 1979). Modern streams are
underfit and braided within the larger clay-coated
braided channels. Thus climatic oscillations from
semi-arid to humid to arid seem evident. Baker
(1986) has suggested that the change from clay
deposition to the modern pattern may have occurred
with a transition from more humid conditions to
present aridity c. 7000 to 5000 years BP.

Considerably more attention has been given to the
Riverine Plains of semi-arid New South Wales,
south-east of the Centre, where the current drainage
to the Murray and Darling Rivers is overprinted on
two earlier hydrologic systems having unmistakably
different morphologies (Butler 1950, Langford-Smith
1960, Pels 1964, Schumm 1968). The modern
underfit channels meander through floodplains de-
veloped by older ‘ancestral rivers’ that have mean-
der geometries and wavelengths an order of magni-
tude greater than those of the present streams. The
interfluves between the ancestral rivers display a
system of infilled palaeochannels known as ‘prior
streams’. These have very low sinuosities, are
almost always fringed by aeolian sand accumula-
tions, and clearly are very ancient bedload channels.

Pels (1969) attributed the ancestral rivers to the
Pleistocene, with a change to the modern regime c.
15000 to 13000 years Bp. This is hard to reconcile
with the oxbow lakes and well-preserved bar and
swale topography persisting in the ancestral system,
which Schumm logically regarded as ‘very recent’.
All observers place the prior channels well back in
the Pleistocene — beyond the limit of radiocarbon
dating, according to Pels — and Schumm’s analysis
appears to establish that they signify a time of
accentuated aridity in south-eastern Australia.

In the ancient, deeply weathered and stripped
shield area of Western Australia many sinuous lines
of dry lake beds suggest a former comprehensive
hydrographic network similar to the fossil wadi
systems of the Sahara and Arabia. According to
Ollier (1977) and Van de Graaf et al. (1977), these
broad infilled valleys are far more ancient than the
Saharo-Arabian fossil wadis, having been beheaded
about 75 Ma by the rifting that initiated separation of
Australia from Antarctica.

In the centre of the desert region, the highly
denuded folds of the Macdonnell, Kirchauff, and
James ranges, produced by Palaeozoic compression,
are cleft by the Finke River and its tributaries, in
courses of uncertain origin that presumably evolved
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under non-desert conditions (Mabbutt 1966). Biidel
(1982) made this area a cornerstone for his theory of
tropical etchplain development, citing the drainage
pattern as evidence of evolution on a deeply weath-
ered surface of insignificant relief.

DURICRUSTS

An obtrusive characteristic of the Australian arid
zone is the importance of ancient weathering phe-
nomena in the form of laterite and silcrete duri-
crusts. Angular silcrete fragments known as gibbers
or billy, litter vast expanses; in situ silcrete is the
source of precious opal; and laterite or silcrete-
capped mesas are often the only features breaking a
dead-level horizon. Laterite and silcrete remnants
are found in many of the world’s deserts, reflecting
quite different climates in the early Tertiary (Goudie
1973), but nowhere outside of Australia are relict
duricrusts a dominant geomorphic element over
large areas. While the exact genesis of laterite in any
setting provokes continuing argument, the forma-
tion of silcrete poses even more difficult questions
(Goudie 1973, Langford-Smith 1978). In the Austra-
lian interior two generations of pre-Miocene mesa-
capping silcretes with underlying pallid zones form
tablelands above Miocene aluminous laterite crusts,
with some ferruginization atop the silcrete mesas as
well.

According to Wopfner (1974) and Langford-Smith
and Watts (1978), the conspicuous deep pallid zone
underlying the mesa duricrusts is a product of
pre-Miocene silcrete formation rather than of the
Miocene ferralitization process. Late Miocene to
early Pliocene desiccation then terminated the de-
velopment of laterite duricrusts and initiated strip-
ping of the inherited deeply weathered land surface
(Mabbutt 1965).

Rather than being a product of aridity, as often
proposed (Langford-Smith and Dury 1965, Goudie
1973, Mabbutt 1977), silcrete is now seen by Lang-
ford-Smith (1982) and others as a product of a warm
and wet climate, which is in accord with palaeobot-
anical evidence for the period of silcrete formation
(Wopfner 1978). Langford-Smith (1982) suggested
that the change to ferralitization may have resulted
from increased rainfall seasonality. This seems to
accord with the interposition of laterization (ending
about 13.5Ma) between the earlier hyperhumid and
later arid climatic regimes in central and eastern
Australia. Ferruginous laterite is dominant in west-
ern Australia, with few traces of silcrete present,
suggesting a persistent seasonal rainfall regime in a
tropical setting throughout the Tertiary.
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ETCHPLAINS

The laterite and silcrete duricrusts discussed in the
preceding section are but the superficial aspect of
tropical humid etchplain development that domin-
ated Australia until the late Tertiary. Silcrete and
laterite caprocks protect weaker substrates including
the deeply decomposed bedrock of a continent
flattened by tens of millions of years of erosion
under warm and seasonally wet conditions. The
etchplain concept involves double planation (Biidel
1982), in which a slowly eroding land surface is well
separated from an irregular, structurally controlled
basal surface of chemical weathering at a depth of
tens to hundreds of metres. If the sinking land
surface is lowered to a protuberance on the basal
surface of chemical etching, solid rock is exposed
locally at the surface, where it endures essentially
unchanged as the surrounding area continues to rot
and be pared down, always maintaining a planar
surface. Relief generation by stream incision in
bedrock is paralysed as the thoroughness of rock
decay deprives streams of abrasive tools.

In arid Australia this development has been ter-
minated by the onset of aridity, which accelerated
surface erosion and ended deep weathering, so that
former basal surfaces of chemical etching have been
widely exposed. The ancient deep weathering pro-
files are preserved as remnants, including the ubi-
quitous mesas capped by laterite and/or silcrete
duricrusts atop conspicuous white pallid zones.
Finkl and Churchward (1973) made clear the variety
of landscape types that can result from varying
degrees of etching, stripping, and duricrust pre-
servation in south-western Australia.

INSELBERGS

The erosional flattening of Australia is so thorough
that any sharp protuberance constitutes a major
landmark. Among the latter are Ayers Rock and the
Olgas near the Centre, and low granitic domes in
many locations north, west, and south of the Cen-
tre. All of these features rise abruptly above vast
expanses of level plains and appear to be extremely
ancient landforms.

The Australian inselbergs are smooth, boulder-
free domes of the type often known as bornhardts
and are composed of both sedimentary and granitic
rock. Ayers Rock is an isolated rhombic slab, some
9km in circumference and 340 to 350 m high, com-
posed of steeply dipping, coarse-grained, Cambrian
arkose. It had been wholly or partially exhumed
from a Cenozoic cover by late Mesozoic or early

Tertiary erosion (Twidale 1978) with three sides
fringed by flat pediments that expose the arkose as
much as 800 m from the base of the inselberg. The
Olgas, some 30 km west of Ayers Rock, are a cluster
of about 30 joint-defined rock domes composed of
massive, gently dipping cobble- to boulder-con-
glomerate of Upper Palaeozoic age (Ollier and Tud-
denham 1961). Granitic inselbergs are widely distri-
buted, taking the form of low domes with steepened
or ‘flared’ margins (discussed below).

Estimates of the great age of the Australian
bornhardts are based upon the facts that those in
Western Australia project from plains laterized in
Oligocene or earlier time, those in central Australia
stand above early to middle Tertiary silcretes, and
the Olgas and Ayers Rock overlook early Tertiary
sediments (Twidale 1982).

Whereas Ollier and Tuddenham accepted major
erosional backwearing of inselberg slopes, Twidale
has insisted that backwearing is minimal, with the
inselbergs being a product of greater resistance (less
joint density) than surrounding rocks (Twidale and
Bourne 1978, Twidale 1982).

In common with granitic bornhardts, Ayers Rock
displays ‘flared slopes’, being girdled by a smooth
basal concavity with an overhanging brow as much
as 10 m above the land surface. Twidale (1962, 1982)
has attributed flares to subsurface scarp-foot weath-
ering, with a former ground surface present at the
brow above the concavity. Perched flares, or niche
lines, are present well above the land surface on
inselbergs composed of both clastics and granites in
Australia. Twidale and Bourne (1975) thus referred
to the ‘episodic exposure’ of inselbergs by multiple
phases of land surface downwearing and surface
stabilization and slope foot weathering, with ter-
raced dome flanks preserving this history. Similar
features, including perched niche lines, are present
in many desert areas, but nowhere else appear to be
developed on the scale or with the elegance seen in
Australia.

As part of his emphasis on the age of the
Australian bornhardt domes, and on their explana-
tion in terms of rock resistance, Twidale regarded
the backwearing of rock slopes between successive
phases of ground surface lowering as relatively
insignificant — no more than 60 m in granite (Twidale
and Bourne 1978). In the arkose of Ayers Rock,
Twidale (1978) admitted rock slope recession of 30 to
90 m while surrounding plains composed of weaker
materials were lowered some 60 m. This is far from
the kilometres of slope backwearing invoked by
others to explain North American desert pediments.
The long history of tropical weathering of an un-



Figure 2.7 Atacama Desert, Chile. Symbols as in Figure 2.1.

usually stable landscape seems to have produced a
distinctive geomorphic phenomenon in the flared
slopes of Australian inselbergs.

THE ATACAMA DESERT

The coastal desert of Peru, Chile, and Ecuador is the
world’s driest region, and the only desert that
reaches across the Equator from the subtropics (Fig.
2.7). Drought here results from atmospheric subsi-
dence and offshore cold water upwelling reinforced
by a coastal trend parallel to the eastern limb of the
South Pacific anticyclonic gyre. The region of most
accentuated drought — the Atacama Desert of north-
ern Chile — extends high into the Andean cordillera
from a narrow plain (or terrace) fringing a coastal
escarpment up to 2000m high. In the Atacama,
measurable rainfall occurs at intervals of many
years, usually when El Nifio conditions prevail.
Annual rainfall averages are in fractions of a mil-
limetre. As a consequence, the landscape below
about 3000 m is completely barren over vast areas.
Trewartha (1981) noted that rainfall becomes more
frequent beyond the Peru—Chile frontier where the
coast swings west, producing onshore flow of the
anticyclonic gyre. It may be equally significant that
the high coastal escarpment of northern Chile,
which extends nearly 1000 km from Chanaral to
Arica, disappears at the same point. While this
desert is almost rainless (P/Etp < 0.03), its coastal
location and influence by advection fog places it in
the warm-summer rather than very-warm-summer
category (UNESCO 1977). Coastal fog advects inland
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from the sea almost daily through passes lower than
about 1000 m and condenses on rock surfaces in the
desert interior. The long-sustained extreme aridity of
the coast and interior has created several peculiar
geomorphic phenomena, particularly saline deposits
that are unusual in type, origin, distribution, and
influences on the land surface.

Although the accumulations of highly soluble
materials in the Atacama Desert, including surface
nitrate deposits, have convinced their investigators
that aridity may have been sustained over a period
of millions of years (Ericksen 1981, 1983), Ochsenius
(1977, 1982) has claimed that the region was merely
semi-arid and populated by a rich megafauna until
the Holocene, when salines began to accumulate.
This seems contradicted by the distinctive paucity of
sediments in the Peru—Chile ocean trench, indicating
sustained aridity in the late Tertiary. Alpers and
Brimhall (1988) concluded that copper enrichment by
aggressive leaching conditions in the Atacama oc-
curred from 18 to c. 15Ma, based on K/Ar dating of
supergene minerals, declining thereafter due to
increasing aridity, with hyperarid conditions estab-
lished by the middle Miocene. In the absence of
some mechanism for extraordinary rapid Holocene
concentration of salines, the geomorphic phe-
nomena seen in the Atacama accord much better
with the latter view than with Ochsenius’ interpreta-
tion. Nevertheless, relict Pleistocene shorelines sur-
rounding at least 35 basins in Chile and Bolivia
(Stoertz and Ericksen 1974) indicate either periodic
moist intervals or intrusions of Andean runoff that
have produced long-lasting lakes in the desert en-
vironment.
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PHYSIOGRAPHY

The gross configuration of the Atacama Desert of
Chile consists of a central trough at an elevation of
about 1000 m, hemmed in on the east by a gradual
rise to the 4000- to 5500-m volcanic axis of the
Andes, and to the west by a variably expressed
coastal range that locally rises about 3000 m and
contains many closed basins. In the north a deep
blanket of andesitic and rhyodacitic ashflows, lahars,
and interbedded sediments slopes from the Andes
to the crest of the coastal escarpment. South of
Antofagasta the Andes and the coast are again
linked by integrated channel systems crossing a
dissected pediplain. Desert basin and range topogra-
phy occurs both east and west of the central de-
pression, and granitic hamadas dominate the coastal
areas in the southern portion of the desert. Narrow
marine terraces at the foot of the coastal escarpment
attest to the recent tectonic rise of the littoral of
northern Chile.

The Atacama has its own highly distinctive land-
forms but lacks some of the staples of desert scenery
elsewhere, such as well-developed desert varnish,
true desert pavements, and large areas of sand
dunes. As in the Namib, classic mosaic-like desert
pavement does not appear to be present, although
staged alluvial surfaces and segmented alluvial fans
are present. In all settings, bare ground is exposed
between surface clasts. Pavement formation in the
Atacama seems to be inhibited by soil disturbance
related to salt crystallization and solution under the
influence of fog and dew, along with clast frag-
mentation by salt cracking.

Desert varnish of the conspicuous black, man-
ganese-rich type (see Chapter 6) is a product of
Mn-oxidizing bacteria that do not thrive in alkaline
environments. The Atacama geochemical setting
appears to resemble the alkaline undersides of
desert pavement cobbles, which in other deserts
bear an Mn-deficient and Fe-rich orange-red patina.
It is hardly surprising that the Atacama is over large
areas a reddish desert, in which surface clasts and
underlying fines are the same colour. Instead of
reddish ventral coatings, the undersides of Atacama
clasts are commonly encrusted with white halite or
gypsum. Even at elevations above 2000 m, staged
alluvial surfaces that in the western United States
would bear a systematic age sequence of rock
varnish colours from grey to black show only the
most subtle variations of buff tones in the Atacama.
The darkest rock varnish found in the Atacama by
this observer occurs in the most humid microenvir-
onments, such as fog gaps and on terraces above the

riparian marshes of the Loa River. Over pure white
flint substrates this varnish is Fe-rich and orange in
close view, with black Mn-rich speckles and pit
fillings.

The interior Atacama displays areas of ventifacted
bedrock and cobbles, but is conspicuously free of
large dune fields. Individual dunes, some quite
large, occur in scattered locations along the coast,
but the interior Atacama contains no true ergs. The
change in coastal trend and loss of the high escarp-
ment at the Peruvian border are reflected in the
greater development of sand dunes along the Peru-
vian coast. As in the Namib (Lancaster 1989),
onshore movement of sand appears to be favoured
where coastlines cut across the major atmospheric
flows. The Atacama coastline is cliffed, virtually
straight, and parallel to the eastern edge of the
South Pacific anticyclone.

DRAINAGE EVOLUTION

Mortimer (1980) has analysed the profiles of the
major Atacama quebradas, concluding that, in the
northern Atacama, Andean drainage has been in-
cised 300 to 900 m from consequent courses on the
volcanic blanket, whereas farther south Andean
streams terminated in the central depression until
the latter was aggraded to the point of sediment
overspill or stream capture by steep-gradient gorges
working headward through the coastal range. The
course of the exotic Loa River, in particular, suggests
a linkage of segments of differing origin, either by
headward extension of a coastal range canyon, or by
overspill to the coast of a large interior lake. The
relict shorelines of an ancient lake some 200 m deep
(Lago Soledad) remain conspicuous in the landscape
at the potential spillway elevation, more than 1000 m
above the Loa River’s passage through the coastal
range. The preserved shorelines are completely en-
cased by halite and anhydrite crusts at least 10 m
thick. Stoertz and Ericksen (1974) and Paskoff (1977),
apparently borrowing from Bruggen (1950), vastly
understated the depth of this hydrologically signi-
ficant pre-late Pleistocene palaeolake.

In the southern portion of the Atacama the central
depression disappears, and an erosional pediplain-
like surface is dissected by stream systems issuing
from the Andes (Galli-Olivier 1967). Longitudinal
profiles of the trunk channels crossing the southern
Atacama become convex-upward near the coast.
This reflects either valley shortening due to rapid
cliff recession by marine erosion where the coast is
subsiding (Mortimer 1980) or tectonic uplift where
the coast is fronted by marine terraces capped by



shelly coquinas. Whatever the cause of the profile
convexity, regrading of channels to compensate for
base level change or valley shortening is ineffective
in the current hyperarid climate.

THE COASTAL ESCARPMENT

One of the most remarkable features of the Atacama
region is the 300- to 1000-m-high coastal wall of
northern Chile, which locally rises above 2000 m.
North and south of the Loa River (the single Andean
stream that persists through the desert to the sea)
the coastal scarp truncates a basin and range land-
scape, so that basin fills including Miocene tephras
are exposed in cross-section. Nearby, the land sur-
face interrupted by the scarp can be seen to be a
pediment truncating inclined sediments and volcan-
ics. At its northernmost point the coastal scarp cuts
the volcanic blanket; to the south it exposes granitic
and metamorphic rocks.

The high coastal escarpment was initially thought
to have been produced directly by en échelon
faulting (Bruggen 1950). This interpretation has sub-
sequently been rejected (Mortimer and Sari¢ 1975).
The trench of the Loa River through a coastal terrace
fails to expose a fault at the cliff base. Mortimer
(1972) attributed the cliff entirely to wave attack
along a subsiding shoreline, while Paskoff (1976,
1980) preferred 1 to 2 km of cliff retreat by marine
erosion following scarp formation by extensional
faulting. In some locations the escarpment has the
rhombic geometry of basin and range faults, causing
the present author to believe that faulting initiated
the scarp a short distance seaward of the current
shoreline. Paskoff (1980) established that Pliocene
marine deposits are present up to the foot of the
scarp, which seems to have existed in its present
position since the late Tertiary.

Where the cliff descends to the sea it is gouged by
ravines, with geological structures etched in relief.
But where a narrow coastal plain or terrace is
present, ravines are almost entirely absent, and the
wall is a smooth equiplanation surface, often
veneered from top to bottom by colluvium of vari-
able thickness. In such areas the coastal escarpment
resembles the smooth quebrada walls of the north,
which are cut and fill surfaces that have a truly lunar
appearance. The upward expansion of colluvial
mantles is apparent in many locations where small
areas of rough rock are still preserved above im-
mense talus aprons. Where mantles are complete,
their materials seem to have undergone a fining
process, possibly resulting from salt-cracking of
clasts. The contrast between the smoothed colluvi-
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ated slopes of the coastal escarpment and the rough
rock walls of the Loa River canyon at the coast
indicates that the lower Loa River canyon is signi-
ficantly younger than the coastal scarp, reinforcing
the impression of canyon initiation at a relatively late
date by overspill of an interior deep lake.

SLOPE EQUIPLANATION

In the driest portion of the Atacama, north of the
24th parallel, the completely barren landscape has a
smoothed lunar appearance. Many long slopes are
devoid of any features indicative of surface water
erosion and instead display peculiar mass wasting
phenomena in the form of fish-scale patterns or
inclined terracettes (Fig. 2.8). Where soils are satu-
rated with halite and anhydrite, patterned gilgae-like
surfaces often run smoothly from valley floors over
hillcrests. Roadcuts on quebrada walls in ignimbrite
areas reveal that long smooth slopes consist of both
cut and fill surfaces, resulting in near-perfect slope
equiplanation. Differential weathering and erosion,
ravining, rilling, and badland dissection of the type
dominating most mountainous deserts is so highly
localized in the northern Atacama as to demand a
photograph when it is seen!

Abele (1983) asserted that the smoothed slopes of
the Atacama were restricted to the zone of coastal
fog below about 1100 m, with normal dissection
prevailing above this elevation. Abele attributed this
phenomenon to the intensification of salt weathering
by daily wetting and drying in the fog zone.
However, the roughness of the coastal scarp at Arica
and Tocopilla contradict this generalization, as do
smooth slopes well above and to the east of the fog
zone.

Three rather unusual factors appear to influence
the Atacama’s distinctive scenery. The most obvious
is the insignificance of rainfall, which rarely appears
sufficient to generate overland flow. Second is the
unique abundance of salines in the environment,
including encrustation of slopes by halite, anhydrite,
and sodium nitrate (see below). Initial crystalliza-
tion, and later expansion and contraction of salines
due to daily thermal and humidity fluctuations may
be crucial in rock disintegration and slope equiplana-
tion, trimming projections and maintaining a collu-
vial mantle over slopes in and beyond the fog zone.

The third unusual influence that may be pervasive
in the Atacama is seismic activity. Colluvial ter-
racettes and fish-scale mass wasting can easily be
visualized as material shunted downslope during
major earthquakes, which are a distinctive aspect of
this desert’s location above one of the Earth’s most
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Figure 2.8 Unusual landforms of the Atacama Desert, Chile. (a) Quebrada wall, some 500 m high, showing colluvial
mantle and terracettes possibly generated by repeated major seismic events. (b) Gypsum-rich gilgae soils mantling smooth
terrain north of the Loa River’s outlet to the sea. (c) Halite and anhydrite blankets completely encasing terrain north of the
Loa River. Relief is about 300 m. The anhydrite cap, 1 to 2m thick, has been partially stripped from the subjacent halite
and is darker in the photograph. (d) Morphology of the halite crust on a 200-m-long slope in the vicinity of (c). This crust

is at least 10 m thick.

active subduction zones. The total absence of stabi-
lizing vegetation and root systems would abet seis-
mically induced regolith creep, and, although not
verified, seismically induced creep of incoherent
surficial materials may be accentuated by the pre-
sence of coherent saline crusts underlying slopes
and acting as shaking tables.

SALINE CRUSTS

The conspicuous saline deposits of the Atacama
Desert present difficult interpretive problems. The
origin of the highly unusual nitrate beds has re-
mained a matter of conjecture for more than a
century, with ten different explanatory hypotheses
summarized by Ericksen (1983). Nitrate deposits in

the form of cements, veins, and dykes occur on all
types of topography, in association with bedrock,
alluvium, and colluvium of diverse lithologies. The
deposits contain substances not known from any
other location: perchlorate, and unique iodate, ni-
trate, chromate, and diachromate minerals. Some of
the nitrate minerals are those normally associated
with the decay of bat guano and are rare in saline
complexes (Ericksen 1983). Based on the high ammo-
nium content of sea spray and the iodine content of
nitrate deposits, Bloch and Luecke (1972) supported
a long history of importation and deposition of
aerosol nitrogen released by photochemical oxida-
tion of atmospheric ammonium derived from sea
spray. However, Ericksen (1983) found very little
nitrate in soil samples from the coastal region.



Nitrate crusts are best developed on the interior side
of the coastal ranges, near the base of long slopes,
suggesting a period of secondary enrichment by
hillslope throughflow. Ericksen proposed that the
nitrates were produced by bacteria and blue-green
algae in interior saline playas and were blown
against the coastal ranges from the east, subsequent-
ly experiencing a lengthy history of leaching and
redeposition.

Other salines are equally problematical, for they
are not confined to ancient lake beds, but blanket
the topography. North of the westward bend of the
Loa River a surface halite blanket capped by anhyd-
rite and loess has a relief of more than 200 m, and a
thickness of at least 10 m on slopes, as revealed in an
isolated doline containing NaCl speleothems. Here
the salt crust, complete with typical salt polygons, is
inclined at an angle of 33° over a 200 m rise (Fig.
2.8). In this same region are salt-encased spits on a
relict shoreline and salt pan hummocks 4m high
that appear to be salt-encased sand dunes.

The superposition of the less soluble anhydrite
atop massive halite on steep slopes is the reverse of
the evaporite sequence produced by lake desiccation
or capillary rise of ground water and suggests
aerosol input and downward leaching, with chlor-
ides more mobile than sulphates. Local removal of
the loess and anhydrite veneer and solutional lower-
ing of underlying halite by 2m or more could be
interpreted as evidence of humid phases within the
overall hyperarid climate. However, the present
surface morphology of the lowered salt crusts on
slopes is accretionary; forms indicative of recent
corrosion of the salt are not present.

In the hills north of the Loa River canyon, loess
directly overlies salt on slopes and is being stripped
to expose the brilliant white salt in swales. Possibly
the chlorides were a component of the loess and
were subsequently leached downward from it.
North of the Loa River canyon, coulee-like ridges of
massive salt capped by loess protrude from border-
ing hillslopes into the vast salt pan of Salar Grande.
This suggests a general solutional lowering of the
salt pan surface at some time in the past, producing
local instances of relief inversion. At present solu-
tion is not occurring here; as on the slopes described
above, only growth forms are visible.

SALT EJECTION OF REGOLITH CLASTS

Some granitic hillslopes west of the Loa River bristle
with tabular blocks. Examination of these crests and
the slopes leading to them indicates extrusion of
granitic masses, from 2-m blocks to finger-size
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prisms. The surface soil is a sandy, saline mud that
has been dragged outward as a cuff around the
smaller extruded fragments. This salt heave mimics
the frost push (and pull) phenomena of cold-winter
areas. Shallow swales draining the summits are
choked with granitic blocks apparently extruded and
toppled farther upslope.

Although typical boulder tors and forms of caver-
nous salt weathering in granite appear in the coastal
area, hillslopes consisting of rounded granitic boul-
ders and exfoliating domes, typical of most deserts —
including the Atacama’s closest climatic parallel, the
Namib — do not appear to be a component of granitic
scenery in the interior of the Atacama, which to an
elevation of some 2300m is a virtually lunar land-
scape.

CONCLUSION

Although desert landscapes are visually similar in
the broad sense, the preceding pages should demon-
strate how varied individual deserts are in the
particulars that constitute modern research chal-
lenges. Each of the major deserts examined contains
certain unique landform associations and peculiar
geomorphic problems, many of which remain unre-
solved, and, in some cases, uninvestigated. Effective
process systems vary significantly even in arid
settings, and, except in the Atacama, have been
applied for relatively brief timespans to quite diverse
antecedent landscapes. The North American deserts
have presented a cornucopia of research problems
and findings as a result of unusually diverse geo-
logic and tectonic conditions, though even here the
precise effects of climatic oscillations during the
Quaternary and the influence of the remote past on
present landscapes remain elusive. Nevertheless,
the scenery of the North American arid realm is
clearly dominated by the erosional and depositional
effects of surface water. Not so in the eastern
Sahara, where aeolian processes are paramount, nor
in the Atacama, where inexplicably high saline
inputs and seismically abetted mass wasting gener-
ate landforms of unique character. Our knowledge
of the arid regions extending from Iran through
Inner Asia is merely at the reconnaissance level, and
fuller investigation there will surely reveal hitherto
undescribed geomorphic phenomena. A suggestion
of this has already appeared in the work of Jackson
et al. (1991) on the salt diapirs of the evaporite-
dominated heart of Iran.

The point of this contribution is that deserts are
far from uniform geomorphically even when they
fall into the same structural category. Basin and
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range (or ‘mountainous’) deserts, with similar
structural features, such as those of Nevada, Chile,
and Iran, exhibit dissimilar geomorphic phenomena
related to the degree and duration of aridity. Cuesta-
form (or platform) deserts of the Colorado Plateau
and Saharo-Arabian region display unlike scenery as
a result of both climate and tectonics. Australian
shield and platform landforms differ significantly
from those of the Saharo-Arabian region, probably
as a consequence of antecedent climates. Dune-
dominated deserts are of strikingly different types.
The Saharo-Arabian realm, the Namib erg of south-
west Africa, and the Taklamakan erg of Chinese
Xinjiang are active on a large scale, while the sands
of the Sahel, Australia, Kalahari, and Thar (India—
Pakistan) are largely fixed and inactive, as the
presently active ergs have been several times in the
last 100 000 years. Wider coverage would reveal the
Thar to be a well-populated and over-utilized sand
desert as a consequence of subsurface water and
agriculturally useful mollic geosols within the sands.
The Kalahari would be seen to display countless
pans of controversial origin and unique (possibly
solution-influenced) valley forms, called mekgachas,
cutting massive intertonguing calcrete, silcrete, and
ferricrete duricrusts. The Namib displays a sea wall
of sand attaining volumes encountered nowhere else
in a coastal zone, marine terraces completely en-
tombed in these sands, and also sprawling erosion
surfaces epitomizing (according to the observer)
either long-distance scarp recession 4 la L.C. King or
in situ scarp generation at a tectonic flexure in a
tropical savanna as envisaged by J. Biidel. In the
heart of Iran are vast expanses of deformed and
eroded evaporites intruded by complexes of salt
diapirs, and farther south a desert dominated by
wind-scoured yardangs of unique persistence and
perfection of form. Finally, in the cold deserts of
Mongolia, western China, and the central Asian
republics of the former Soviet Union are sand seas,
erosional plains, and depositional cones of magni-
tudes that utterly dwarf any New World parallels,
but which have received little outside recognition
and analysis, and which would remain largely un-
known in the absence of satellite imaging.

Rather than developing a unifying perspective,
the preceding account emphasizes diversity, with
the single unifying theme being the instability of
climates in the desert realm, the recency of non-
desert conditions in most of the currently arid zone,
the resulting superposition of humid and arid land-
forms, and the role of pre-Quaternary non-desert
conditions in the differentiation of existing desert
landscapes.
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WEATHERING PROCESSES AND FORMS 3

B. ]. Smith

INTRODUCTION

Recent studies of weathering in deserts (e.g. Goudie
1989, Cooke et al. 1993) have given detailed reviews
of the mechanisms considered to operate and the
landforms with which they are generally associated.
Invariably such reviews — especially if orientated
towards students — deal primarily with the perceived
certainties of our knowledge. In reality, however,
weathering studies are more characterized by uncer-
tainties and gaps in knowledge. Weathering re-
search is thus not a question of what we know about
desert weathering, but what we do not know; those
points we secretly hope will not be raised in lectures
or paper presentations. This chapter will therefore
concentrate upon some of the less certain issues in
weathering studies. The aim is not to be exhaustive
or comprehensive, but hopefully to question some
traditionally held views and stimulate future re-
search.

BACKGROUND TO WEATHERING STUDIES IN
DESERTS

Because of difficulties of access and the harshness of
desert environments, desert geomorphology has
remained something of an infant science when
compared with landscape studies in many other
regions. Much work is still at the exploratory stage;
the nature of desert environments is incompletely
understood, and many features have yet to be
described. Because of a comparative paucity of
rigorous fieldwork, many geomorphological studies
have relied upon the uncorroborated reports of
explorers and upon data collected for other pur-
poses. This has particularly applied to weathering
studies where, for example, views on temperature
and moisture regimes have been influenced by
accounts of ‘freezing nights’ and ‘splitting rocks’.

Such reports understandably stress the environmen-
tal extremes encountered by travellers, but unfortu-
nately extremes of temperature variability and abs-
ence of moisture have become widely accepted as
the norm for all desert regions. This has in turn
influenced our perception of how processes operate
and encouraged a concentration upon the role of
extreme events, be they the highest ever rock
temperature or the longest period between rainfall.
Because many desert weathering concepts were
initially borrowed from other disciplines and be-
cause of the short history of enquiry, weathering
studies have been riven by numerous arguments,
revisions, and reinterpretations. Paramount amongst
these controversies is the debate over the efficacy or
even existence of insolation weathering, but it has
also encompassed the weathering roles of both
moisture and wind.

The recent emergence of desert weathering stud-
ies in any great number has coincided — at least in
the English-speaking world - with a tendency in
geomorphology to concentrate upon studies of pro-
cess. Within weathering research there has also been
a reductionist element whereby weathering mechan-
isms are reduced to the basic physical and chemical
processes that control their operation. This is an
inevitable consequence of a desire to understand
geomorphic processes, but brings with it problems,
some of which are particularly appropriate to weath-
ering in deserts. First, the majority of in situ observa-
tions of weathering mechanisms tend to be short
term and of restricted spatial extent. This creates
problems as to their long-term significance in re-
gions where few areas have been mapped in detail,
and where little is known about medium- and
long-term climatic variability. Second, process stud-
ies focus attention upon features that exhibit
measurable change within the one or two years over
which the fieldwork for most research projects is
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carried out. As a consequence, there are numerous
studies of features such as cavernous hollows (tafo-
ni) but few of, for example, the intervening cliff
faces or the debris slopes below them. Third, the
reductionist tendency has fostered a segregationist
approach, wherein specific mechanisms such as
insolation weathering, salt crystallization, or freeze—
thaw are examined in isolation. This approach is
prevalent in desert weathering investigations where
there has been a reliance upon laboratory-based
simulation studies. It is the aim, and the virtue, of
these studies that they can examine a particular
mechanism under controlled conditions. In doing
this, however, environmental conditions may be
unrealistically simplified and possible synergisms
between weathering mechanisms and other geomor-
phic processes discounted. Finally, in common with
other areas of geomorphology, we have yet to
use our new-found understanding of weathering
mechanisms successfully to explain either the present
configuration of most desert landscapes or their
long-term evolution. Process studies are only a
limited end in themselves. If we are to justify our
preoccupation with them we must ultimately breach
the spatial and temporal boundaries that separate
individual, short-term studies at the microscale from
their cumulative impact on the landscape. If we fail
to do this we betray the existence of geomorphology
as a distinctive discipline.

Despite the above observation our understanding
of weathering processes and environments and the
landforms they produce has steadily progressed.
Many of the early misconceptions concerning weath-
ering have been dismissed or modified and we are
beginning to understand some fundamental controls
upon rock breakdown. For example, Cooke et al.
(1992) have listed six observations that they consider
should guide our understanding of weathering in
deserts.

(a) Weathering processes (and presumably forms)
are likely to be distinctive because of distinctive
diurnal and seasonal temperature and relative
humidity regimes.

(b) Contrary to popular belief, moisture for weather-
ing is widely available, from rainfall, dew, and
fogs.

(c) Relative humidity is often high at night.

(d) Physical processes are probably significantly
more important than elsewhere, but the role of
chemical processes should not be ignored.

(e) Some of the debris and weathering features seen
today may well be inherited from different clima-
tic conditions.

(f) Despite a common emphasis upon weathering
landforms, the most important role of weather-
ing is to provide debris for fluvial and aeolian
systems.

Laudable as these observations are, they are, like all
generalizations, open to question and qualification.
It is these qualifications that will identify directions
for future research.

THE ROLE OF TEMPERATURE

Discussions concerning the role of temperature in
desert weathering have concentrated upon the ex-
tremes of diurnal variability, normally under sum-
mer conditions. Associated with this has been a
preoccupation with the search for maximum ground
surface temperatures (Goudie 1989; McGreevy and
Smith 1982). These observations have in turn played
an essential role in the design of laboratory simula-
tion experiments of, for example, insolation and salt
weathering. However, the use of extreme diurnal
temperature regimes raises a number of questions.
These concern their representativeness of weather-
ing environments and the realism of using one
temperature regime to characterize a complex clima-
tic zone (Jenkins and Smith 1990). There is also the
possibility that unrealistically high rock tempera-
tures trigger weathering mechanisms for which
there is no field evidence or which are additional to
those aimed for in a particular simulation.

With regard to the first of these points, it has long
been known, and frequently reiterated, that desert
weathering concentrates in so-called ‘shadow areas’
(e.g. Evans 1970) to produce features such as caver-
nous hollows (tafoni), honeycombs, and pedestal
rocks. Rock surface temperatures and diurnal ranges
associated with these features are reduced compared
with those on surrounding exposed surfaces (Drago-
vich 1967, 1981, Rogner 1987). Within these features
moisture availability appears to be the critical control
upon rock breakdown rather than extreme tempera-
tures. Rapid, early morning temperature rises on
exposed surfaces should inhibit absorption of any
moisture deposited overnight and hence restrict the
operation of processes such as hydration, solution,
and hydrolysis. High rock temperatures may there-
fore not only be unnecessary but undesirable for
many desert weathering processes.

There is also debate concerning the representative-
ness of many of the very high rock surface tempera-
tures recorded, even for exposed surfaces. This has
been reviewed in detail by McGreevy and Smith
(1982, 1983), where it was noted that many early
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Table 3.1 Selected rock surface temperature (°C) measurements from desert environments

Surface Material Location Time of Source
temperature (altitude) year

°C

74.4 Black bulb Egypt August Williams (1923)

62 Limestone Egypt August Sutton (1945)

49 Quartz Monzanite California August Roth (1965)

72.5 Rock Sudan September  Cloudsley-Thompson and Chadwick (1969)
78.5 Basalt Tibesti August Peel (1974)

79.3 Dark Sandstone Tibesti August Peel (1974)

78.8 Light Sandstone Tibesti August Peel (1974)

57 Basalt Tibesti March Jakel and Dronia (1976)
46 Granite Tibesti March Jékel and Dronia (1976)
48 Sandstone Tibesti March Jakel and Dronia (1976)
48.1 Limestone Morocco August Smith (1977)

21.1 Limestone Morocco January Smith (1977)

62 Asphalt Abu Dhabi Summer Potocki (1978)

73 Asphalt Abu Dhabi Summer Potocki (1978)

41.0 Basalt Karakoram Mountains  July/August Whalley et al. (1984)

33.5 Basalt Karakoram Mountains  July/August Whalley et al. (1984)

46.3 Desert Varnish Karakoram Mountains  July/August Whalley et al. (1984)

54.0 Sandstone Karakoram Mountains ~ July/August Whalley et al. (1984)

50.8 Limestone Negev August Rogner (1987)

56 Rock Algeria June George (1986)

52.2 Sandstone Tenerife (2070 m) June Jenkins and Smith (1990)
42.5 Sandstone Tenerife (2070 m) January Jenkins and Smith (1990)
35.0 Sandstone Tenerife (950 m) June Jenkins and Smith (1990)
29.0 Sandstone Tenerife (950 m) January Jenkins and Smith (1990)
50.0 Sandstone Tenerife (50 m) June Jenkins and Smith (1990)
41.0 Sandstone Tenerife (50 m) January Jenkins and Smith (1990)

measurements, often in excess of 70°C, were made
when equipment was less sophisticated than that
now used. Peel (1974), for example, used thermo-
couples without a 0°C datum, and Williams (1923)
used a black bulb thermometer. With the advent of
reliable thermistors and, more recently, infrared
thermometers, many of the maxima recorded from a
wide range of desert conditions are below 60°C
(Table 3.1). Where 60°C is exceeded there may also
be exceptional circumstance, such as the bitumen-
coated road surfaces measured by Potocki (1978).
The significance of these observations is that very
high absolute temperatures and temperature ranges
have invariably been used in, for example, salt
weathering simulation studies. Data from similar
tests used for assessing building stone durability
have shown that rates of breakdown are closely
related to the maximum temperatures to which
samples are heated. Minty (1965) showed that when
samples of dolerite were cycled in sea water between
105 and 110°C the rate of disaggregation was approx-
imately 40 times greater than when similar samples
were cycled between 48.9 and 65.6°C. Other workers

have also noted that the type of damage caused
during salt crystallization durability tests varies with
different heating cycles. Marschner (1978) found that
damage was restricted to surface layers in samples
heated to 60°C but that deeper cracking occurred in
samples heated to 105°C. The critical nature of the 60
to 70°C range was also demonstrated by Yong and
Wang (1980), who found that microcracking could be
initiated in granite only after samples were heated
above 60 to 70°C. Thus, as pointed out by McGreevy
and Smith (1983), the use of very high rock tempera-
tures in simulation experiments of salt crystallization
under ‘desert conditions’ may enhance breakdown
by increasing crystallization pressures, ensuring
complete crystallization from solution and perhaps
better crystal development, and by instigating pure-
ly thermal effects such as thermal expansion of salts
and/or thermal fracturing of the rock itself. Thus, by
subjecting rocks to unnaturally high temperatures,
especially for salt weathering environments, it may
not be possible to limit or identify the mechanisms
responsible for any breakdown. There may also ‘be
the danger of introducing thermal effects which
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would not be encountered in nature’ (McGreevy and
Smith 1983, p. 300). Laboratory studies which use
extreme temperature cycles to produce insolation
weathering (e.g. Rodriguez-Rey and Montoto 1978)
must therefore be approached with considerable
caution.

The use of diurnally based thermal cycles in
laboratory-based weathering simulations also pre-
supposes that this is the primary variable in in-
fluencing physical breakdown. Yet, as noted by
Cooke et al. (1993), there can also be significant
seasonal variations in temperature. Under winter
conditions freezing temperatures may be frequently
experienced at rock surfaces and freeze-thaw activ-
ity becomes a possibility. Both seasonal and diurnal
variability are clearly systematic, but superimposed
upon these are other degrees of spatial and temporal
variability which, although far less predictable, may
be of considerable significance. Air and rock temper-
ature reductions within caverns have already been
noted, but to these must be added other aspect-
related differences. This applies not only to obvious
variations between north- and south-facing slopes,
but also between east- and west-facing slopes. On
these slopes any overnight moisture should be
retained for longer in low latitudes on those facing
west. This moisture is then rapidly driven off as the
slopes come out of shadow and experience rapid
rock temperature rises and accentuated internal
temperature gradients when heated by a sun already
high above the horizon (Smith 1977).

Added to these effects must be the amelioration of
rock temperature regimes resulting from maritime
influences in coastal deserts, and a variety of effects
associated with increasing altitude. Unfortunately,
there have been relatively few studies of rock
temperature variations in high altitude desert areas,
but those that have been made have recorded
surface maxima similar to those observed in low
altitude environments (e.g. Whalley et al. 1984).
These high surface temperatures frequently occur in
conjunction with low air temperatures, and any
interruption of incident radiation can result in rapid
falls in surface temperatures. This phenomenon was
recently illustrated by Jenkins and Smith (1990) in a
study of altitudinal and seasonal variability in day-
time temperatures on the island of Tenerife. By
continuous measurement of surface temperatures on
a standard sandstone block moved between three
sites at different altitude, they showed that at an
altitude of 2070 m there were numerous short-term
fluctuations of 3 to 15 minutes duration related to
shading by a light cloud cover and wind speed
variations. During these fluctuations surface temper-

atures could drop up to 15°C with temperature
gradients sometimes in excess of 2°C per minute. At
mid-altitude (950 m) and coastal (50 m) sites, where
cloud cover was greater, additional fluctuations of 1
to 2 hours duration were noted which effectively
destroyed the daytime element of any generalized
diurnal temperature curve. The frequency and in-
tensity of these short-term variations suggests that
they could play an important role in disruptive
processes such as granular disintegration and the
formation of thin surface flakes. Generally these
short-term fluctuations have either failed to register
when desert temperatures were recorded at set
intervals (every 15, 30 minutes, etc.) or have been
disregarded in insolation and salt weathering
simulations based upon diurnal cycles of heating
and cooling or wetting and drying. It is interesting
to note, however, that in one of the few sets of
experiments to register detectable alteration (using
reflectance and microhardness changes) resulting
from thermal fatigue (insolation weathering), the
heating and cooling cycle was of only 15 minutes
duration (Aires-Barros et al. 1975, Aires-Barros 1977,
1978).

Patterns of thermal stress experienced by desert
rock surfaces are thus exceedingly complex. In
addition to seasonal and diurnal cycles there are
various short-term fluctuations related to local
weather conditions (wind, cloud cover, air tempera-
ture, and cooling by rainfall). Superimposed upon
these are a range of ‘shadow effects’ related not only
to generalized aspect but to shading within hollows
at a variety of scales by local topographic irregular-
ities (boulders, etc.) and vegetation. Any laboratory
assessment of the effectiveness of thermally related
weathering mechanisms in deserts (insolation, salt,
and frost weathering specifically) should take this
variability into account. Recognition of the range of
stresses to which rocks are subjected suggests that
rarely, if ever, is rock breakdown a function of a
single mechanism acting in isolation. Invariably it is
a product of two or more mechanisms acting
together or in alternation (Jenkins and Smith 1990).
The most obvious example of this is insolation
weathering itself. It is difficult to envisage any
situation in which desert rocks are subjected to
temperature fluctuations in isolation. It has already
been noted that moisture is universally available in
some form within hot deserts (see also next section).
Additionally, all rocks exposed at desert surfaces
will have experienced a unique stress history which
will have left them weakened to a greater or lesser
extent, and more or less susceptible to either mecha-
nical breakdown or chemical decay. Possible excep-



tions may be some chemical precipitates such as
certain silcretes, but even these rarely form at the
desert surface.

Sources of pre-stressing in desert rocks are numer-
ous. They include chemical alteration, either under
present conditions of limited, but assured, moisture
availability or inherited from former periods of
moister climate; dilatation acting at a range of scales;
and previous subjection to mechanical weathering
processes such a salt and frost weathering. Frost
weathering is particularly relevant when one consid-
ers that mountains consistently constitute the domi-
nant terrain type in the world’s major desert areas.
A study by Fookes (1976) identified, for example,
43% of the Sahara desert, 39% of the Libyan Desert,
47% of Arabia, and 38.1% of the deserts in the
south-western United States as mountainous. Other
studies of desert terrain (e.g. Cooke et al. 1982) also
identified a range of mountain-plain models as the
most representative of the world’s desert land-
scapes. Within these models most debris mantling
alluvial fans and plains is derived initially from
adjacent mountain catchments, where moisture may
be more readily available and temperatures can
frequently fall below 0°C. Debris produced under
these conditions is likely to carry with it inbuilt
stresses that can be exploited by other weathering
processes more characteristic of hot desert environ-
ments per se.

Potentially exploitable weaknesses in the form of
microfractures can also be created within the rock
mass prior to exposure. These will then be carried
over into any debris derived from these rocks. The
range of microfractures found within near-surface
rocks has been discussed by Nur and Simmons
(1970) and Simmons and Richter (1970), and was
summarized by Whalley et al. (1982a) as consisting of
(a) cracks at grain boundaries produced during
ascent to the Earth’s surface; (b) stress-induced
cracks produced by the principle of non-hydrostatic
stress; (c) radial and concentric cracks about grains
enclosed by material with different volumetric prop-
erties; (d) tube cracks produced by magmatic fluid
solution, dislocation, etching, etc.; (e) cracks in-
duced by thermal shocks and gradients; and (f)
cleavage cracks. To these crack-opening processes
should be added potential weathering lines com-
prised of, for example, certain mineralogical concen-
trations.

Understandably, microfractures and lines of
potential weathering are normally associated with
igneous and metamorphic rocks. Stress relief does,
however, also occur within sedimentary rocks,
where unequal release of confining pressures by
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erosion of once deeply buried rocks can lead to
exfoliation and splitting (e.g. Bradley 1963). Similar-
ly, sedimentary and metamorphic rocks can contain
a wide range of different lineations associated with
stylolites, cleavage, and bedding plains and align-
ments of grain boundaries and/or voids even in
apparently unbedded sandstones (e.g. Smith and
McGreevy 1988).

Weathering susceptibility is also influenced by
alteration skins, rock varnish (see Chapter 6) and
case-hardened layers (e.g. Conca and Rossman 1982)
which frequently cover desert rock surfaces. Indeed
it is not unknown for the presence of rock varnish,
and consequently reduced albedo, to be used as a
justification for the high rock surface temperatures
recorded in deserts (e.g. Peel 1974). Should it not,
therefore, be reasonable to explore the possibility of
insolation weathering occurring in the presence of
such crusts? Work on other materials such as con-
crete has shown that durability problems frequently
occur because of expansion in materials with dif-
ferent surface layers. This can lead to patterns of
rupture redolent of those found on desert rocks (Fig.
3.1).

Within rocks exposed to insolation, a wide range
of potential weaknesses thus exists that can be
exploited during thermally induced surface expan-
sion and contraction. Folk and Begle-Paton (1982)
and Rice (1976) have pointed out that the early
experiments of Blackwelder (1925, 1933) and Griggs
(1936) may have been more successful in producing
fatigue failure if they had used larger blocks that
were in some way confined. Similarly, such experi-
ments may have produced a more realistic assess-
ment of fatigue weathering in deserts if they had
used samples characteristic of those exposed by
erosion and transport at desert surfaces; rather than
freshly quarried blocks selected for their purity,
freedom from imperfections and absence of recog-
nizable weathering.

Studies of other weathering processes have also
identified the significance of physical and chemical
variability in rocks as catalysts to breakdown. Ex-
periments using ‘coupled” samples of two rock types
exposed to simulated salt weathering conditions
have, for example, shown how moisture can be
retained for longer at boundaries between different
stone types. This can lead ultimately to a concentra-
tion of crystallized salt, if available, and enhanced
disaggregation (Haneef et al. 1990a, b). Other salt
weathering simulations (McGreevy and Smith 1984)
have shown how the presence of swelling clays in
sandstone samples, coupled with increases in micro-
porosity, can enhance breakdown through flaking.
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Figure 3.1 Typical failure patterns in an elastic outer layer
on a rigid base due to forces concentrated at the interface.
a—d illustrate force concentrated along the interface, e-f
illustrate force exerted through expansion at a point. a,
parallel separation of rigid plate; b, peeling from base; c,
bending - plastic failure; d, bending - elastic sudden
failure; e, cleavage — sudden failure; f-h, punching or
pop-out failure — pattern of failure depends upon brittle-
ness of outer layer. At high brittleness numbers failure
occurs suddenly (f). At low brittleness material behaves in
a ductile fashion (g). At intermediate brittleness failure
occurs through stable crack growth (h) (adapted from
Bache 1985).

Exploitation of potential cracks comprising aligned
grain boundaries and pores in sandstones may be a
factor in salt-induced contour scaling of sandstones
(Smith and McGreevy 1988). Breakdown following
the cyclical wetting and drying of basalts has similar-
ly been attributed to the swelling of hydrothermally
derived smectite clays (McGreevy 1982a). More sys-
tematic studies of the physical rock properties that
influence mechanical breakdown have identified wa-
ter absorption capacity, porosity and microporosity,
saturation coefficient, and tensile strength as
amongst the most important properties (Cooke
1979). Compressive strength, specific gravity, com-
pactness, hardness texture, shape, anisotropy, mic-
rofractures, and cleavage as characteristics that in-
fluence rock durability can also be added (Fookes et
al. 1988). Additional factors which are of specific
relevance to insolation weathering are variations in

thermal properties such as albedo, specific heat
capacity, and thermal conductivity. These not only
influence rock surface temperatures and internal
temperature gradients (Kerr et al. 1984, McGreevy
1985), but also the establishment of other internal
stresses as rock constituents with varying thermal
properties, including additions such as clays and
salts, expand and contract differentially. Natural
differences in all these rock properties, and variabil-
ity induced by earlier physical and chemical weath-
ering, must contribute greatly to the variable break-
down of rocks exposed to hot desert conditions. The
presence of physical variability, pre-stressing, and
chemical alteration within rocks is one possible
explanation of why insolation weathering continues
to find support from field studies (Ollier 1963, 1984).
The fact that laboratory simulations using uncon-
fined, freshly cut and polished blocks have histor-
ically discounted thermal fatigue may find an ex-
planation in that they did not continue for long
enough, or that the weathering that did take place
was not detected (Goudie 1989). This last point will
be discussed further towards the end of the chapter.

THE ROLE OF MOISTURE

The role of moisture in shaping desert environments
has for many years appeared anomalous. On the
one hand, deserts are perceived as areas of little if
any moisture, while on the other we are faced with
landscapes in which many elements are of patently
fluvial origin. For many years explorers denied these
origins by invoking other processes including:
‘sculpture due to solar heat shattering the rocks and
wind removing the pulverised residue’ (Peel 1975, p.
110). But as understanding of fluvial processes
progressed through the early part of this century,
alternative explanations became necessary. Many
fluvial features were thus interpreted either as lega-
cies from some former climate of more assured
rainfall, or as products of infrequent but intense
rainfall operating over long timespans. It is only
relatively recently that alternative viewpoints have
been explored in which moisture is seen as being
more readily available in many hot deserts than
previously surmised (e.g. Peel 1975, Goudie 1989).
In his paper on water action in deserts, for example,
Peel referenced Slatyer and Mabbutt (1964) who
found that intense, ‘catastrophic’ rainfall of the kind
traditionally associated with deserts is much more
common around the margins of deserts. In a survey
of various deserts, they found that 50% of the rain
that falls usually occurs in gentle showers of moder-
ate intensity. Similarly, Peel drew on observations



by Dubief (1965) who showed that mean rainfall
intensities over the whole of the Sahara are little
higher than those in France. Rainfall of lower inten-
sities is less likely to generate overland flow, more
likely to be absorbed by rocks and soil, and will most
probably play a more important role in promoting a
range of weathering processes. In his review of
desert weathering, Goudie (1989) tabulated data
from a range of world deserts which demonstrate
that even in ‘quite dry locations there may be an
appreciable number of days in which measurable
quantities of rain are received’ (p. 15). Frequent
wetting enhances the efficacy of both mechanical
and chemical weathering processes.

Rainfall can also concentrate locally within the
environment and thus might lead to enhanced scope
for weathering in certain situations. Apart from
obvious orographic controls, it seems that there may
be a spatial organization to desert storms (e.g.
Sharon 1981) related to phenomena such as Rayleigh
cells within the atmosphere, although there is no
significant long-term tendency for storms to occur at
preferred locations. However, local rainfall is not
randomly scattered and there is evidence that it can
concentrate in valley areas which also receive rainfall
deflected away from exposed interfluves by higher
winds (Sharon 1970). Windward slopes will likewise
receive substantially more rainfall than adjacent
leeward slopes. Yair et al. (1978) suggested that
windward slopes of 20° with incident rainfall of 40°
would receive almost twice as much rainfall as
opposing valley sides. Similar observations were
made in Sinai by Schattner (1961) who noted that
granular disintegration of granites was more rapid
and penetrated more deeply on rocks that were not
exposed to the ‘strongest and largest insolation” (p.
254). Instead, disintegration is most intensive on
surfaces facing north and west into the dominant
rain-bearing winds. South-facing slopes, he found,
rarely exhibited intensive disintegration.

The degree to which water is concentrated into
certain areas is also dependent upon surface con-
trols, such as the extent of soil and rock cover.
Where bare rock dominates, surface runoff is more
frequent and extensive, and infiltration concentrates
in certain parts of catchments, such as slope foot
zones of colluvial accumulation (Yair and Berkowicz
1989). Because of between-catchment differences in
hydrological response, Yair and Berkowicz (1989)
suggested that climatic parameters such as tempera-
ture and rainfall alone provide insufficient indication
of ground surface aridity.

Both Peel (1975) and Goudie (1989) drew attention
to the importance of moisture from fogs. Goudie
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tabulated the relative contributions of rainfall and
fog as moisture sources at Gobabeb in Namibia
over the period 1963-84. He found that rainfall
averaged 24.5mm and fog 31.7mm per annum.
More universally appreciated is the contribution that
direct precipitation in the form of dew can make to
the moisture budget of desert areas (Verheye 1976).
Little is known in any detail of dewfall from many of
the world’s deserts, and most opinions concerning
its significance have been based upon pioneering
work by Duvdevani (e.g. 1947, 1953) and Evenari et
al. (1971) in Israel, especially at the ancient city of
Avdat in the Negev Desert. On occasions they
reported that dewfall can exceed annual rainfall
(28.4mm as opposed to 25.6 mm in 1962-63), but
over the four-year period 1963—66 mean dewfall at
the ground surface was 33 mm from an average of
195 dew nights and, at a height of 100 cm, 28 mm
from 172 dew nights. This compares with an average
annual rainfall at Avdat of 83 mm for the period
1960-67 (Evenari et al. 1971, p. 30). Clearly these
figures suggest that although dewfall is frequent, the
amounts per night are small and are a product of
low ground surface temperatures and low moisture
contents of the contact zone rather than high levels
of air moisture (Verheye 1976). None the less,
Verheye pointed out that such moisture is important
as one of the main promoters of biological life in
deserts. Similarly, it has not prevented the invoca-
tion of direct precipitation as a major moisture
source and key component in the accentuated
weathering associated with features such as tafoni
and other cavernous hollows (e.g. Smith 1978,
Rogner 1988a) and in low-lying areas (e.g. Schattner
1961). The weathering significance of dew is further
enhanced by its chemical composition. This is large-
ly a function of the aerosols and dissolved salts that
it can scavenge from the atmosphere as well as any
dry fallout previously deposited on to rock surfaces
and mobilized during condensation of dew. The
greatest potential for this mobilization is normally
associated with polluted urban environments (e.g.
Wisniewski 1982, Ashton and Sereda 1982). What
observations there are from arid to semi-arid areas
have, however, also shown markedly enhanced
concentrations of calcium, bicarbonate, and sulphate
ions in dewfall compared with rainfall (Yaalon and
Ganor 1968). The most likely source for these ions is
sea salts, but chemical analysis of airborne dusts
blowing from desert areas suggests that they can
contain elevated concentrations of numerous miner-
als. These include a range of clay minerals and soil
nutrients (e.g. Wilke et al. 1984) as well as salts (Pye
1987, table 6.3, p. 130).
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Before ascribing too much importance to dewfall
for rock weathering, certain other factors must be
considered. First, the information we do have is
drawn from meteorological observations which are
not necessarily relevant to conditions experienced at
rock surfaces under a wide variety of local topo-
graphic conditions. Second, we have little know-
ledge of the controls that humidity conditions exert
upon weathering (McGreevy and Smith 1982). Is, for
example, all moisture that condenses at a rock
surface absorbed and, if so, what role does it play in
mobilizing salts?

Meteorological observations are normally collected
to reflect standard conditions, with figures invari-
ably averaged over a given time period. The figures
for dewfall at Avdat (only 80 km from the Mediterra-
nean) are, for example, given in Evenari et al. (1971)
as annual averages showing higher deposition at
ground level than at 100cm. Duvdevani (1953)
showed, however, that under dry summer condi-
tions dew deposition at various sites in Israel in-
creases from ground level upwards — his so-called
‘arid gradient’. It is only during moist winter
months, when moisture can be drawn up from
below, that dew deposition is greatest nearer the
ground.

The mechanism of moisture deposition can itself
be complicated. Under clear sky conditions with
rapid radiative heat loss at night, surface tempera-
tures can fall below ambient air temperature. As
they do so, condensation will occur at relative
humidities progressively below 100%, especially if
hygroscopic salts are present (Arnold 1982). Mois-
ture flux from atmosphere to rock surface may,
however, take place first in the vapour phase within
pores before dew point is reached and before spon-
taneous condensation of liquid water. In his review
of condensation-evaporation cycles in capillary sys-
tems, Camuffo (1984) suggested that condensation
begins with an adsorbed film of molecular moisture.
This can form at relative humidities below 100%
because ‘the binding forces between the water mole-
cules and the solid surface are larger than the
binding forces between the first adsorbed layer and
newly arriving vapour’ (p. 152). As relative humidity
in the environment increases, further molecular
layers can accumulate which may eventually col-
lapse under gravity into larger pores and take on
‘bulk-liquid structure’. Such patterns of deposition
have been observed within buildings (e.g. Camuffo
1983) under conditions which are otherwise effec-
tively arid. Advantages of this mechanism are that it
can promote deep moisture penetration, carrying
with it gases scavenged from the atmosphere, and

that moisture absorption occurs very frequently
(Camuffo 1983). Such relatively small quantities of
moisture may also be important in fractured rocks
where, if it can form near crack tips, it may generate
stresses through the formation of an electrical dou-
ble layer (Ravina and Zaslavsky 1974).

As rock surface temperatures fall overnight and
the relative humidity of air in contact increases,
eventually a point is reached where surface conden-
sation occurs. Whether such moisture is absorbed by
the rock will depend on pore size and geometry. In
the case of a small, hemispheric cavity facing the
external environment (Fig. 3.2a) it will remain empty
except for the monolayer of moisture until the radius
of the meniscus of condensed moisture r,,, equals the
pore radius rp, after which the cavity will progres-
sively fill with moisture. This process works in
reverse when relative humidity falls and the cavity
progressively empties. In the case of large ‘spheric
pores” which open to the atmosphere via a small
opening (Fig. 3.2b), the cavity remains empty until
relative humidity reaches a critical level where r,,
equals r,. Thereafter the cavity will completely fill
with no increase in relative humidity. If relative
humidity subsequently falls, however, the pore will
remain filled until a critical relative humidity is
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Figure 3.2 Influences of pore and capillary characteristics
upon moisture deposition and condensation at a rock-air
interface. rp = pore radius, ry = radius of meniscus of
liquid water (which increases with relative humidity such
that r, = © at RH = 100%), r.= capillary radius. (a)
Hemispherical cavity facing large pore or external environ-
ment; (b) spheric cavity open to the environment through a
small hole; (c) pore connected to environment by wide
capillary (r.>r,/2); (d) pore connected to environment by
narrow capillary (r.<r,/2) (adapted from Camuffo 1984).



reached where r, equals r, the radius of the
opening, which then triggers evaporation of mois-
ture. Where pores are connected to the atmosphere
via capillaries, the pattern of filling and emptying
depends upon the ratio of the pore radius r, to that
of the capillary r.. Where r. > r,/2 (Fig. 3.2c)
condensation occurs first in the pore and then in the
capillary. On the other hand, where r. < r/2 (Fig.
3.2d), condensation will occur within the capillary,
trapping air within the pore. This trapped air can act
as an effective block against further moisture ingress
even though relative humidity may rise above 100%.
Camuffo (1983) pointed out in fact that in rocks with
pores showing this ‘ink-bottle effect’ the only way to
fill inner cavities with moisture would be to sub-
merge them in liquid water, although some moisture
may be ‘sucked in’ if temperature falls and trapped
air contracts. Conversely, if temperature were to
rise, trapped air could expand and expel water
without evaporation.

Drying does, however, normally involve evapora-
tion. This occurs in two stages (Hall et al. 1984). In
the first stage, drying is strongly influenced by both
temperature and wind speed. A 10°C rise in temper-
ature will approximately double the drying rate, as
will a quadrupling of wind speed. The drying rate in
the first stage is also directly proportional to relative
humidity. A second phase will eventually be
reached when the drying rate declines substantially.
During this phase drying is not significantly affected
by humidity. Towards the later stages of drying in a
porous body ‘liquid phase capillary continuity is lost
and vapour phase diffusion no doubt becomes the
only transport mechanism within the pores’ (Hall et
al. 1984, p. 18). A similar situation can be reached
earlier under conditions of either very rapid surface
moisture loss or where the rate of evaporation is
greater than the rate of replenishment of capillary
moisture from within the rock (Amoroso and Fassina
1983, Lewin 1981). Under these conditions work on
building stones has shown that the liquid-to-vapour
transition will occur at some depth below the rock
surface. This can have very significant implications if
the moisture contains dissolved salts, which will
begin to crystallize out of solution at this depth as a
subflorescence (Fig. 3.3a). Growth of crystals at this
wet—dry interface has been found experimentally by
Lewin and Charola (1979) to cause the outer surface
of stonework to separate or crumble (also reported
in Amoroso and Fassina 1983, pp. 33-34). If the rate
of drying is less than that of moisture replenishment
from within the stone (Fig. 3.3b), then evaporation
will take place from the surface and an efflorescence
of crystallized salt will develop. Under these condi-
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tions observations on the behaviour of building
materials suggest that disruption will be reduced
compared with subsurface crystallization (Amoroso
and Fassina 1983, p. 29).

Under desert conditions, salt-rich moisture migrat-
ing from within a rock is most likely to derive from
rising ground water. Indeed, ground water is now
recognized by many as a major source of moisture
and salts in numerous low-lying and/or coastal
desert areas. It has, for example, been identified as a
major cause of building decay in these areas as well
as being instrumental in the formation of many
natural salt weathering phenomena such as tafoni
and honeycombs (see Cooke et al. 1982, Chapter 5
for a review). In urban areas from other environ-
ments, rising damp is seen to produce characteristic
weathering zones above ground level (e.g. Arnold
1982), with maximum deterioration in a periodically
dried zone some distance above the ground. Ex-
perimental work has also demonstrated the rapid
effectiveness of salts derived from rising capillary
moisture in causing rock breakdown in tests lasting
just two weeks and drying conditions of only 20°C
and 60% relative humidity (Lewin 1981). Salts depo-
sited from ground water are often complex mixtures
and occur in high concentrations (e.g. Goudie and
Cooke 1984). As a consequence, these salts can
exploit a wide range of environmental conditions to
exert stresses within rocks through repeated expan-
sion and contraction. Complete pore-filling by salts
enhances the efficacy of differential thermal expan-
sion, whereas mixtures of salts acting singly or
synergistically hydrate and dehydrate or dissolve
and crystallize across a wide range of temperature
and humidity conditions.

Most desert environments are not, however, char-
acterized either by an abundance of salts or of
moisture. Instead, as already argued, moisture is
frequently derived in small amounts from direct
precipitation overnight at or near an exposed surface
from where it is lost during the following day.
Under these conditions large quantities of salt might
even inhibit certain disruptive forces by acting in
effect as a ‘passive pore-filler'’ which prevents in-
gress of small quantities of moisture (Smith and
McAlister 1986). Under conditions of limited mois-
ture availability it might be expected that differing
internal salt distributions might occur. Experimental
work by Smith and McGreevy (1988) has shown that
where sandstone blocks receive limited, daily ap-
plications of weak salt solutions to one face, salts
preferentially concentrated in response to diurnal
heating and cooling between approximately 20°C
and 52°C. The precise disposition of crystallized salts
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Figure 3.3 Patterns of salt crystallization within a porous rock: (a) subsurface deposition where there is a high rate of
surface evaporation and salt solution drawn from within the rock; (b) surface deposition where the rate of evaporation is
less than the potential rate of outward salt solution migration; (c) surface and subsurface salt deposition after evaporation
of surface-wetted rock (sodium sulphate, magnesium sulphate); (d) surface salt deposition after evaporation of

surface-wetted rock (sodium chloride).

appears to depend upon salt type. In blocks treated
with 10% solutions of sodium sulphate and magne-
sium sulphate, accumulations occurred at or near
the approximate diurnal wetting depth and just
below the surface (Fig. 3.3c). This segregation is
thought to result from the outward migration of
some salt in solution during the early stages of
drying, followed by a transition to vapour transfer

before all of the salt is brought to the surface. Loss of
moisture during this transition appears to concen-
trate the salt solution to the point where salts
crystallize. During the next wetting phase the salt
retained at depth is mobilized again and migrates
down towards the wetting front. In this manner salt
progressively accumulates at depth, while at least
some always reaches the surface to crystallize as an



efflorescence. In a block treated with the more
soluble sodium chloride, however, salt was only
seen to accumulate in a narrow zone at and beneath
the stone surface (Fig. 3.3d). This surface accumula-
tion in all blocks was associated with varying de-
grees of granular disintegration of the sandstone and
production of a rock meal. Where salts accumulated
at depth they eventually resulted in contour scaling,
with scales 1 to 2cm thick lifting away from the
block surface.

Similar suggestions of scaling being associated
with wetting depths were made by Dragovich (1969)
working on granites in Australia. This explanation
would not seem to account, however, for the thin-
ner, multiple flakes of 1 to 2 mm thickness which are
often seen breaking away from, for example, the
walls of cavernous hollows. No satisfactory explana-
tion of these ‘booklets’ of flakes has yet been
forthcoming. If they are associated with variable
wetting depths it could imply that salt-induced
rupture can occur over relatively few wetting and
drying cycles especially if, perhaps, the subsurface
layer has already been weakened during the forma-
tion of a thicker contour scale.

Clearly, the effectiveness of any salts precipitated
out of solution in causing rock breakdown is not
solely a matter of where they crystallize. It must also
depend on the manner of their crystallization and
the stresses that they can exert from within pores
and capillaries on surrounding mineral grains. The
process of crystal growth out of solution itself is
considered by many to be the most important
mechanism by which stresses are exerted and rock
fabric disrupted (Cooke et al. 1993). A situation is
normally envisaged where crystals bridge across a
pore and continue to grow against confining pres-
sures provided there is a film of solution at the
salt-rock interface (Correns 1949). Observations of
crystallized salts within pores from a range of
environments suggest that pore-filling begins with a
layer of salts crystallizing around the boundary of
the pore. Bernardi et al. (1985), for example, identify
authigenic calcite and gypsum growing around
ooliths in limestones from the Ducal Palace in
Urbino. These salts come into contact first either in
capillaries or the narrow necks connecting pores. By
concentrating stresses here they could cause disrup-
tion without the necessity either for pore-bridging or
pore-filling. Indeed, although there are now numer-
ous descriptions of salt efflorescences from many
environments and of subfluorescences exposed
when blisters are removed, there are few, if any,
examples of pore-bridging within sound rock. Long,
acicular gypsum crystals have been frequently de-
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scribed growing out of carbonaceous nucleii (e.g.
Del Monte and Sabbioni 1984, Del Monte et al. 1984,
Del Monte and Vittori 1985). But these are observed
growing on the surface of polluted stonework or
subsequently under moist laboratory conditions
from sources such as fly-ash.

As an alternative to partial pore-filling by crystal-
line salts, relatively rapid evaporation under labora-
tory conditions can fill pores with microcrystalline
salts (e.g. Smith and McGreevy 1988). Complete
pore-filling of this kind may cause breakdown by
crystallization if salts continue to migrate towards
the pore, but will also result in stresses due to
differential thermal expansion and/or hydration if
environmental conditions and salt types permit it
(Stambolov 1976, Sperling and Cooke 1980a, b).

The areal distribution of salt accumulation and
ultimately salt-induced decay is very dependent
upon the wetting and drying characteristics of stone
surfaces. Varying pore size and shape characteristics
will, as already discussed, lead to differing patterns
of moisture condensation, absorption, and loss as
well as affecting susceptibility to various salt weath-
ering mechanisms. Variability of this kind has often
been used, but with little evidence, to explain the
location of so-called sidewall tafoni on cliff faces
(e.g. Bryan 1925, Mustoe 1983). In contrast, basal
tafoni are normally ascribed to greater moisture
availability in cliff foot zones from either ground-
water seepage or enhanced direct precipitation near
ground level (Dragovich 1967, Smith 1978). Once
created, any hollows protected from rainfall become
sites of preferential salt accumulation and, it has
been proposed, sites of accelerated weathering re-
lated to higher average levels of relative humidity
and protection from direct insolation (see previous
section). This proposition, however, has always
required that at some stage moisture is evaporated
from within the rock. This may be achieved through
insolation reaching the interior of the hollow later in
the day or through a general rise in air temperatures
and fall in relative humidity. The former is special
pleading, while the latter would be unlikely to
produce the rapid evaporation required for salt
crystallization beneath the rock surface. Work on
building stone decay has suggested that rapid
drying might be achieved in honeycomb features
through air turbulence related to strong winds
(Torraca 1981). Differential drying on more uniform
surfaces may also be related to consistent local
patterns of air turbulence and is reflected on many
buildings in polluted areas by the uneven distribu-
tion of black gypsum crusts. Unfortunately, little
systematic work has been carried out on wind-
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related drying patterns, salt accumulation, and rock
breakdown in urban or desert environments.

It would seem, therefore, that moisture is avail-
able for weathering in deserts from a variety of
sources. Often this moisture is spatially concen-
trated, but although it may occur frequently (e.g. as
dewfall), it is normally available in limited quanti-
ties. The concentration of weathering in shadow
zones where moisture is retained the longest rather
than in areas experiencing the highest rock surface
temperatures suggests that moisture availability is
the critical control upon processes such as salt
weathering in deserts.

CHEMICAL WEATHERING AND CLIMATIC
INHERITANCE

It is appropriate to consider these two aspects of
desert weathering together. Most debate about che-
mical weathering in deserts concerns the question of
how much can be attributed to present-day climatic
conditions and how much is inherited from past
conditions of greater moisture availability. Converse-
ly, the presence of chemical decay in desert areas is
often used to support the existence of former pluvial
conditions. The best-documented use of this reason-
ing is the work of climatic geomorphologists such as
Biidel, who proposed a climatogenetic interpretation
of desert landscapes which combined them with
tropical savanna and rainforest areas as a zone of
Tropical Planation (e.g. Biidel 1982, pp. 120-85). Of
paramount importance in this planation process is
prior deep weathering, which he envisaged as hav-
ing occurred at some stage across the whole zone.
According to Biidel, most of the deeply weathered
material has been removed from present-day desert
areas under a geomorphic regime in which long-
term fluvial erosion and aeolian deflation exceeds
debris supply through weathering. Because of this,
much of the evidence of former deep weathering
consists not of weathered profiles but of the gross
similarity between, for example, the inselberg and
plain landscape of tropical West Africa and that of
the Sahara to the north. Morphological evidence of
this kind must be approached with caution, especial-
ly in light of the great antiquity of the land surfaces
in these areas and the likelihood of morphological
convergence towards landforms and landscapes con-
ditioned by geological controls. In addition, there
are few studies and a relatively poor understanding
of what constitutes chemical weathering under hot
desert conditions and the extent to which chemical
processes are currently active in desert environ-
ments.

The clearest evidence that chemical weathering
occurs in hot deserts is the already stated argument
that moisture is readily available. This is supported
by the widely held belief that salt weathering consti-
tutes the principal mode of rock breakdown (e.g.
Cooke and Smalley 1968, Evans 1970, Goudie 1985)
which presupposes a major role for moisture absorp-
tion by rocks. Indeed, it is arguable whether certain
salt weathering mechanisms are not themselves
partly chemical in nature. Thus Winkler (1987a),
writing about the distinction between chemical and
physical weathering, made the point that

‘On both natural outcrops and urban buildings the
process (weathering), turns out to be more complex,
and not readily separable into chemical and physical
components. Where can we draw the line between
crystallization and hydration pressure, as these are
physiochemical processes? There is also evidence of
chemical reaction between salts in the masonry and
the masonry substance (Arnold 1981) leading to new
compounds. Today we still do not understand the
physical behaviour and chemical effect of water
trapped in capillaries under pressure in most types
of stone’ (p. 85).

Despite the presumption that desert environments
are not conducive to chemical weathering, we can
no longer assume that where deeply weathered rock
is found it is inherited from moister conditions. In a
study of saprolites on igneous rocks in the Negev,
Singer (1984) has shown that the climate during their
formation has never been moister than semi-arid.
None the less, clay contents of 45%, 53%, 11.3%,
and 37% were found on andesitic basalt, Na-basa-
nite, microgranite, and microdiorite. Moreover, a
wide range of alteration products were identified
(Table 3.2), which runs counter to traditional asso-
ciations of arid conditions with limited alteration of
silicate rocks only to smectite clays except under
exceptional local circumstances (Barshad 1966, Tardy
et al. 1973, Singer 1980). Crystallized iron oxides

Table 3.2 Alteration products of deep weathering in the
Negev Desert (Singer 1984)

Parent material Alteration product

Na-basanite Dioctahedral smectite

Andesite basalt Hydroxy: interlayered, high charge
smectite

Microgranite Principally smectite and chlorite with
moderate amounts of kaolinite

Microdiorite Mica: after sericitization of feldspars

and osmectite




were also found in the clay mineral fraction of
saprolites from basic rocks and argillation seemed to
affect mafic minerals preferentially. Significantly, the
alteration that Singer observed was not associated
with, and thus not dependent upon, significant
leaching of the weathered profiles.

The formation of iron oxides and their movement
through rocks by capillary action has also been
reported from other deserts. Selby (1977) described
red stainings, principally of limonite, but also poss-
ibly of goethite, from granites in Namibia associated
with scaling features. The staining could sometimes
be seen emanating from biotite crystals and a few
feldspar crystals showed evidence of moderate kaoli-
nization and sericitization. This, together with some
possible chloride formation, was taken to indicate
slight chemical weathering. Selby also noted some
strong leaching and decomposition of biotites in
granites experiencing granular disintegration in the
central Sahara. Conca and Rossman (1985) similarly
noted haematite coatings on tonalite boulders in
California derived from the leaching of biotite, while
Osborn and Duford (1981) described streaks of iron
oxide running down the sides of sandstone insel-
bergs in south-western Jordan. They also noted
iron-rich weathering rinds up to 1 cm thick on many
boulders. The rinds were found to reduce the degree
of disintegration when boulders were dropped from
cliffs and to offer a degree of protection to the
underlying sandstone. Similar protection has been
assumed by those who see tafoni and other caver-
nous features as forming through the breaching of
weathering rinds. Breaching is followed by excava-
tion of rock behind the rind that was preferentially
weakened during rind formation by weathering and
outward migration of certain constituents (e.g.
Wilhemy 1964, Winkler 1979). Apart from iron,
case-hardening is also produced by the outward
migration in solution and precipitation of calcium
carbonate, which may be derived from within the
rock or in non-calcareous rocks from lime-rich
ground water (e.g. Bryan 1926). Calcite deposition
can alternatively weaken rock structure when, for
example, it crystallizes within the pores of a quartz
sandstone (Laity 1983). The constituents of case-
hardened coatings can also originate as external
additions of wind-blown dusts which are subsequently
mobilized by surface moisture. Conca and Rossman
(1982) have described thin case-hardened layers on
quartz sandstone in Nevada which contain calcite,
hydrated calcium barite, and raised levels of kaoli-
nite of possibly aeolian origin.

Behind these crusts the interior of boulders may
be weakened by a process termed core softening by
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Conca and Rossman (1985). They describe how
tonalite boulders in Baja California have undergone
preferential decay beneath iron-rich surface layers.
This decay consists of kaolinization of feldspars
(normally along cleavage planes and grain bound-
aries), a loss of iron from biotite, and the formation
of authigenic silica and traces of calcite and gypsum.
They proposed that the weathering is accomplished
by migrating capillary moisture. This may have an
elevated chemical reactivity due to increased dis-
solved CO, and organic acids if it had previously
flowed through the upper soil horizons within
which the boulders are partly buried. Weakening of
rock structure may similarly be accomplished in
quartz sandstone by selective silica dissolution
under saline conditions, revealed as solutional
etching on grain surfaces (e.g. Young 1987). In light
of these observations, Young proposed that this
dissolution can lead to the development of caver-
nous hollows. Mustoe (1983) also made the point
that such cavities can be produced by chemical
weathering in addition to the normally assumed salt
weathering. This weathering is possible given that
the cycles of hydration and dehydration required for
most salt weathering will also encourage a range of
chemical reactions leading, for example, to the decay
of feldspars. Silica solubility is also enhanced under
saline conditions, and Winkler (1987b) described
silica coatings on tuffs in Texas, which he attributed
to the ‘high solubility of silica in a dry and hot west
Texas ... enhanced by probably alkalic waters’
(p- 975).

The increase in solubility of both quartz and
amorphous silica with increasing pH is well estab-
lished (Goudie 1989) and is reflected in the forma-
tion of extensive silicate deposits within the evapo-
rite sequences of alkaline lakes (e.g. Eugster 1967,
1969, Eugster and Jones 1968). The corollary of this
is that quartz and silicate rocks will be corroded if
they come into contact with alkaline lake water. This
is illustrated by Butler and Mount (1986) who de-
scribed corroded cobbles along former lacustrine
strandlines in Death Valley. This corrosion manifests
itself in the form of pits and honeycombs, and it
derives principally from the dissolution of quartz,
feldspars, and phyllosilicates in a variety of rock
types. Corrosion occurs preferentially along grain
boundaries, laminations, cross beds, and foliations
and can enlarge vesicles in extrusive igneous rocks.
This can lead to development of a secondary poros-
ity, which increases moisture penetration and en-
courages further corrosion but can also increase
susceptibility to salt weathering if the water is high
in total dissolved solids.
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In their study of alkaline corrosion, Butler and
Mount (1986) observed little corrosion of limestone
or dolomite. Again, it would seem that environmen-
tal factors, such as high temperatures and paucity of
soil and vegetation giving low dissolved CO, con-
tents in desert moisture, generally combine to pro-
duce little karstic weathering in deserts. Thus the
traditional view is that espoused by Jennings (1983)
who concluded that carbonate karst decreases with
precipitation. This does not mean that karstic phe-
nomena are absent; simply that they are invariably
explained away as relics of former climates (Table
3.3). As such they are described as being destroyed
by arid processes including aeolian abrasion (Krason
1961), mechanical weathering (Smith 1978), and
fluvial incision (Marker 1972). Some features do,
however, manage to retain a degree of development
under arid conditions. Thus, Hunt et al. (1985)
reported active karst on gypsum and anhydrite
deposits of the Tripolitanian pre-desert in Libya, and
Castellani and Dragoni (1987) described active ero-
sion of solution pipes in south-eastern Morocco. The
moisture for the latter erosion condenses as dew and
is blown along the limestone surface. The ability of
rivulets of coalesced dew to effect solution is further
evidenced by studies of building stone, where they
can cause serious damage (e.g. Camuffo et al. 1986).
It is not likely that dew could initiate features such
as extensive solution piping. Instead, they probably
formed under conditions of more assured rainfall,
but continue to develop slowly at the present time.

Dewfall does, however, appear to play significant
direct and indirect roles in the formation of micro-
karstic features found in deserts (Smith 1988). Wind-
driven dew can form microrills or rillensteine
(Laudermilk and Woodford 1932) and plays an
important part in the solution facetting of limestone
pebbles (Bryan 1929) and micropitting of pebbles
buried within the vesicular layer beneath stone
pavements (Smith 1988). Other active karst de-

scribed from arid areas have included rillenkarren
(Sweeting and Lancaster 1982) and solution pans
(Smith 1987).

In addition to highlighting the role of direct
precipitation, karst studies have stressed the pre-
dominance of features such as pans and pits which
trap moisture and, in recent years, the role of
organisms in promoting solution (Smith 1988). The
general role of organisms in erosion of limestone has
been recently reviewed by Viles (1988) and their role
in desert weathering by Cooke et al. (1993). In
deserts emphasis has been placed on endolithic
cyanobacteria and blue-green algae in, for example,
the formation of weathering pits (Danin et al. 1982,
Danin and Garty 1983); on endolithic algae in the
‘solubilizing’” of minerals, including silicates (Fried-
man 1971); and on lichen in exfoliation (e.g. Fried-
man 1982). The widespread occurrence of these
organisms in deserts such as the Negev is generally
attributed to the high frequency and regularity of
dewfalls (Kappen et al. 1979) as a source of essential
moisture. Because of the crucial role of dew, the
distributions of these organisms show a marked
variability with aspect. Lichen, for example, were
found by Kappen et al. (1980) to be much more
productive on shaded north-facing slopes in the
Negev than on drier east-facing slopes exposed to
strong insolation from the rising sun. Danin and
Garty (1983) similarly found that north-facing slopes
were characterized by epilithic lichens, whereas
south-facing slopes were inhabited by endolithic
cyanobacteria which are more capable of surviving
drought conditions (see also Viles 1988). Care must
be taken in attributing all microsolutional phe-
nomena to present-day biotic weathering. Danin et
al. (1982) found, for example, that although lichen
and blue-green algae can produce characteristic jig-
saw-like patterns of microgrooves at the boundaries
between lichen colonies in Israel, they are only
active in Mediterranean areas. Where these grooves

Table 3.3 Karstic features described from desert environments

Principal features Location

Source

Dayas (dolines) Algeria, Morocco
Caves Algeria

Solution hollows Algeria
Caves/hollows/ karren Morocco

Cone karst Egypt

Caves Australia

Caves Morocco

Conrad (1959, 1969), Clark et al. (1974),
Castellani and Dragoni (1977)

Conrad et al. (1967)

Quinif (1983)

Smith (1987)

El Aref et al. (1986, 1987)

Grodzicki (1985)

Castellani and Dragoni (1987)




occur in arid areas they are interpreted as indicating
more humid conditions in the past.

From this very brief overview of chemical weath-
ering, it would seem that there are very few chemic-
al processes that cease completely or are totally
excluded under desert conditions. Their rates of
action, mode of operation, and frequency of occur-
rence do change significantly. Limestone solution,
for example, does not cease, but it no longer
produces clearly defined macro- and mesoscale kars-
tic phenomena. Instead it is responsible for a com-
plex variety of microscale features and, it would
seem, an indifferentiated slow loss of limestone in
solution (Smith 1988).

WEATHERING OF DEBRIS IN DESERTS

As noted in Cooke et al. (1993), weathering of debris
in deserts has tended to be neglected in favour of
investigations into rock masses or, at best, boulders
of a size that can support features such as cavernous
hollows. Yet weathering does not cease with the
production of coarse debris but continues as long as
the debris remains at or near the desert surface
(Smith 1988). Indeed, weathering of debris exercises
an important control upon the overall rate of erosion
of many landscapes mantled and protected by stone
pavements. Even when such debris is fractured or
disaggregates, further comminution may be required
before it can be removed by either low energy fluvial
erosion or aeolian deflation. A crucial stage in this
process is the reduction of sand-sized or coarser
debris into silt-sized fragments that are the principal
constituents of many wind-borne dusts that blow
out of the world’s deserts.

Clearly, exceptions to this generalization exist and
many of the experimental studies into salt weather-
ing have used ‘debris-sized” blocks of stone (e.g.
Goudie et al. 1970, Goudie 1974, Fahey 1986, Cooke
1979). Unfortunately, these studies have rarely been
used to explain debris behaviour per se. Instead,
results have invariably been applied to generalized
questions such as relative stone durability, the
effectiveness of various salts and salt combinations
in causing weight loss, or the nature of weathering
mechanisms. Little attention has been paid to pat-
terns of decay or, with some exceptions (e.g. Smith
and McGreevy 1983, 1988), to the reproduction of
weathering features similar to those observed under
field conditions. The effectiveness of salt weathering
in causing debris breakdown has been further de-
monstrated through studies of natural debris (e.g.
Goudie and Day 1980) and cut blocks of stone (e.g.
Goudie and Watson 1984) in salt-rich desert environ-
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ments. Progress has been made despite the prob-
lems envisaged earlier in causing mechanical break-
down in small, unconstrained blocks which can
themselves expand and contract in response to
temperature variations.

Salt weathering is not, however, the only weather-
ing process to operate in deserts, and rock debris
should be subject to the full range of weathering
processes active in these environments. Such debris
may originate in a high mountain environment
where it is released from the rock mass by frost-
related processes exploiting intrinsic microfractures.
It may then experience abrasion and high energy
collisions during subsequent fluvial transport and
finally be exposed to extreme temperature variations
and partial or complete burial in a salt-rich environ-
ment such as an alluvial fan. As a result, the debris
found mantling many desert surfaces exhibits a wide
range of different stress histories, which in turn may
explain the variety of weathering patterns observed
and the comparative ease with which some debris is
seen to breakdown in response, for example, to
temperature cycling. The stress history described
represents a form of climatic change brought about
by spatial relocation. While there has been some
work on the combined effects of different weather-
ing regimes on rock breakdown (e.g. frost and salt
weathering, Williams and Robinson 1981, McGreevy
1982b, Robinson and Jerwood 1987, Jerwood et al.
1990), there has been little work on sequential
exposure of rocks to different weathering mechan-
isms. This situation obtains despite the recognition
that many weathering mechanisms, such as salt
crystallization weathering and wedging by expand-
ing lattice clays, are exploitative in character and
only operate in many originally non-porous rocks
once fractures or microcracks have been initiated by
other mechanisms (e.g. Smith and Magee 1990).

A wide range of weathering patterns has been
observed on desert debris (see Table 3.4), but it is
possible to identify a number of underlying charac-
teristics. First, enhanced moisture and salt availabil-
ity (via upward migration in low-lying alluvial and
lacustrine environments) can produce rapid and
thorough disintegration. Second, processes such as
insolation and salt weathering are enhanced where
debris is partially buried within finer material. Par-
tial burial can produce accentuated internal tempera-
ture gradients around the exposure and burial
boundary, constraint upon the expansion of the
buried portion, and possibly enhanced chemical
weathering within the subsurface environment.
Third, many recent studies have stressed the role of
biological agencies in facilitating the solution of
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Table 3.4 Weathering features associated with debris on stone pavements

Weathering phenomena

Sources

Parallel stone cracking
Desert varnish
Solution pitting
Vesicular weathering
Solution facetting
Solution pinnacles
Microrills

Case hardening
Shattered rocks
Polygonal cracking
Dirt cracking
Granular disintegration
Honeycombing
Split/cleaved boulders
Weathering rinds

Yaalon (1970), Cooke (1970)

Verheye (1986), Bowman (1982), Dorn (1983)
Amit and Gerson (1986), Rogner (1988a)
Smith (1988)

Bryan (1929)

Joly (1962)

Laudermilk and Woodford (1932)

Smith (1988)

Ollier (1963), Rogner (1988b)
Soleilhavoup (1977), Bertouille et al. (1979)
Ollier (1965)

Cooke (1970), Goudie and Day (1980)
Butler and Mount (1986)

Whitaker (1974), Ollier (1984)

Osborn and Duford (1981)

limestone and the fixation of iron and manganese in
desert varnishes. Finally, contrary to normal ex-
pectations, weathering need not be dominated by
physical breakdown. On limestone debris, for exam-
ple, it was noted in the previous section that a range
of microsolutional features can be observed which
are the most likely representatives of a truly arid
karst.

Comminution of boulder and cobble-sized debris
produces a variety of material ranging from rock
fragments to individual mineral grains and, less
frequently, fragmented grains. This material is in
turn subject to further weathering and/or attrition
which can, under suitable conditions, reduce ma-
terial to fine sands or silts. Silt-sized particles make
up the loess (e.g. Yaalon and Dan 1974, Caudé-
Gaussen et al. 1982, Caudé-Gaussen 1984) and loess-
like deposits of desert marginal areas (e.g. Smith

and Whalley 1981, McTainsh 1984). It is generally
considered that the transformation of quartz sands
into silts requires either the precise application of
disruptive stresses or the general application of very
large stresses. Thus glacial grinding has been in-
voked to explain the loess deposits of high latitudes.
Indeed, the apparent pre-eminence of glacial
theories for loess-silt formation has meant that, even
where silts are blown out of deserts such as the
Gobi, it has been proposed that they must have
originated initially from surrounding mountains
(e.g. Smalley and Krinsley 1978).

There is, however, increasing evidence that a
number of weathering and other processes which
operate in deserts are capable of producing quartz
silt of loess size (20 to 60 um). These processes are
reviewed in Table 3.5 and also by Pye (1987),
McTainsh (1987) and Smith and Whalley (1993).

Table 3.5 Possible origins of loess-sized quartz silt in desert environments

Process

Source

Salt weathering of loose granular material
Salt weathering of sandstone

Frost weathering

Biotite weathering in granitic profiles
Inherited tropical deep weathering
Inherited silica dissolution of dune sands
Inherited weathering from temperate soils
Silica dissolution in saline environments
Inherited glacial grinding

Aeolian abrasion

Fluviatile abrasion

Fracturing and/or dissolution in duricrusts
Microdilation in granitic profiles

Goudie et al. (1979), Pye and Sperling (1983), Peterson (1980)
Goudie (1986), Smith et al. (1987)

Moss et al. (1981), Lautridou and Ozouf (1982)

Pye (1985)

Boulet (1973), Leprun (1979), Nahon and Trompette (1982)
Little et al. (1978), Pye (1983)

Pye (1987)

Young (1987), Magee et al. (1988)

Smalley and Vita-Finzi (1968), Boulton (1978)

Whalley et al. (1982b, 1988)

Moss (1972), Moss et al. (1973)

Nahon and Trompette (1982)

Nur and Simmons (1970), Moss and Green (1975), White (1976),
Power et al. (1990)




Some of the proposed processes, including salt
weathering and aeolian and fluviatile abrasion, clear-
ly act under hot desert conditions. Others, such as
frost shattering, are most likely to be effective in
either desert marginal areas or ‘climatic islands’
within deserts induced by altitude. A further and
important group comprises processes which operate
under moist tropical or temperate conditions, the
effects of which may represent climatic inheritance
when encountered in present-day deserts. It is a
characteristic of many of the mechanisms listed in
Table 3.5 that they operate through exploiting flaws
in sand-sized and larger grains. These flaws could be
inherited microfractures (Moss and Green 1975),
cleavage planes (Wilson 1979), or dislocations
formed by tectonic deformation (White 1976). Such
flaws are not always necessary and within sand-
stones fractures could be initiated by compressive
loading of sand grains when salts expand within
adjacent pores (Smith et al. 1987). It is difficult to
envisage, however, how other processes such as salt
weathering of loose grains could be effective in the
absence of pre-existing flaws or microfractures.

In keeping with larger debris, therefore, sand-
sized material exposed at desert surfaces is invari-
ably the product of a complex stress history. This
history may represent sequential exposure to diffe-
rent stress mechanisms through climatic fluctua-
tions, long-distance transport, and/or release from
parent rock. Grains may additionally be subject to
processes such as frost and salt weathering acting
alternatively or in conjunction. The end products of
exposure to these stresses are either comparatively
flawless core grains of the type found in many dune
sands or silt-sized fragments of a calibre prone to
deflation and removal from the desert environment.

FUTURE DIRECTIONS

There are many aspects of desert weathering that
require further investigation and refinement. In
particular, it is clear that the weathering environ-
ments of hot deserts are numerous and varied. We
need much more information on the range of en-
vironmental conditions experienced before rock re-
sponses can be fully understood. Moreover, the
distinction must be made between conditions as
measured for meteorological purposes and the
temperature and moisture regimes experienced at
the rock-atmosphere interface. The overall signi-
ficance of weathering achieved within these environ-
ments cannot be appreciated until (a) we improve
the precision with which weathering damage is
recognized and assessed, and (b) we begin to in-
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vestigate the overall contribution of weathering not
only in the development of individual landforms but
also in the long-term evolution of desert landscapes
as a whole.

DAMAGE RECOGNITION AND ASSESSMENT

A criticism levelled at many early rock weathering
simulation studies is that they dismissed weathering
mechanisms such as insolation-related fatigue fai-
lure, simply because they employed techniques of
damage assessment insulfficiently sensitive to regis-
ter changes that might have been expected over the
duration of the experiment (see Rice 1976). Similarly,
many weathering changes are threshold phe-
nomena, in that specimens may exhibit little surface
change while experiencing internal changes that can
lead to sudden and catastrophic damage as strength
thresholds are breached and, for example, large
contour scales break away. As a result, damage
assessment by weight loss alone can lead to mislead-
ing estimates of relative durability if simulation
experiments are of limited duration. Alternatively,
there is a temptation to increase the aggressivity of
such tests to the point that while measurable dam-
age is achieved, conditions no longer relate to those
encountered in nature. There is a need, therefore,
for more precise and consistent methods of asses-
sing surface and internal changes in rock properties
consequent upon weathering. Ideally such methods
should be applicable under both field and laboratory
conditions to permit work to be integrated between
the two situations.

Considerable progress has been made in recent
years in terms of damage assessment by civil en-
gineers in general, and by those concerned in
building stone decay in particular. Some of the
techniques used which might be appropriate for
desert weathering studies are given in Table 3.6
together with examples of their adoption and use by
geomorphologists. The studies listed concentrate
upon four particular aspects: (a) the non-destructive
testing of rock for internal damage principally using
ultrasonic techniques; (b) improved assessments of
small-scale surface changes using, for example, sur-
face profilometers, microerosion meters, survey by
scanning electron microscopy and optical reflect-
ance; (c¢) methods such as the Schmidt Hammer
which assess rock hardness; and (d) the need for a
rigorous terminology when defining weathering
damage. Table 3.6 does not extend to the more
standard engineering tests for rock strength which
tend to be destructive of samples. Reviews of these
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Table 3.6 Tests and procedures of possible relevance to the study of weathering in deserts

Rock characteristics

Method

Source

Degree of weathering

Rock strength (dynamic Young's
Modulus)

Rock hardness (coefficient of
restitution)

Rock hardness

Rock hardness/abrasion resistance
Crack detection

Crack location and measurement

Crack growth

Crack visualization

Crack patterns

Surface roughness change
Surface roughness

Surface loss

Crack expansion
Rock block expansion

Time of wetness/condensation

Weathering grades based on range of
criteria from field and laboratory tests.
For review see Fookes et al. (1988)

Ultrasonic pulse velocity
Schmidt Hammer

Abrasion resistance
Sandblast index
Fluorescent dye
Ultrasonic probe

Acoustic emission/ultrasonic velocity
measurement

Impregnation with metal alloy
Optical microscopy
Reflectance

Microroughness meter/surface
roughness scanner
Microerosion meter

Strain gauges
Displacement transducer

Relative humidity probes, circuit grids,
limestone-block resistors

Irfan and Dearman (1978a, b, c¢), Fookes et
al. (1971), Dearman et al. (1978), Dibb et
al. (1983a, b), Baynes and Dearman
(1978), Lewin and Charola (1981)

Allison (1988, 1990)

Day and Goudie (1977), Williams and
Robinson (1983)

Conca and Cubba (1986)

Verhoef (1987)

Coffey (1988)

Coffey (1988), Hall (1976, 1977), Hall and
Farley (1978)

Tassios and Economou (1976), Delgado-
Rodrigues (1978, 1982), Honeybourne
(1982)

Anonymous (1987)

Nolen-Hoeksema and Gordon (1987)
Aires-Barros (1977)

McCarroll (1990), Lam and Johnston
(1985)

Trudgill et al. (1989), High and Hanna
(1970), Viles and Trudgill (1984)
Douglas et al. (1987)

Manning (1987), Cassaro et al. (1982),
Pissart and Lautridou (1984)

See et al. (1987, 1988), Yamasaki et al.

(1983)

and other tests can be found in, for example, Fookes
et al. (1988) and Price (1975a, b).

AN INTEGRATED APPROACH TO DESERT
WEATHERING

There has been a long-term tendency in studies of
desert weathering to isolate individual weathering
mechanisms and to seek an understanding of weath-
ering phenomena through segregation rather than
integration. This tendency has, as indicated in the
introduction, reflected a general trend in geomor-
phological investigations which have become in-
creasingly process orientated and reductionist in
character. Like these studies, understanding of des-
ert weathering mechanisms is not an end in itself;
ultimately such mechanisms must be set within wide
temporal and spatial contexts to understand the
landscapes within which weathering occurs (Smith
1987). In doing this, it must be recognized that
weathering mechanisms do not operate in isolation
from one another and that integration must take
place at a variety of levels. Specifically, integration
must occur:

(a) Between different mechanisms acting simultaneously
and in sequence. These mechanisms should in-
clude pressure release, limited but varied chemi-
cal alteration, and temperature variations — alone
and in the presence of moisture and salts —
which combine frost weathering with other
mechanisms and diurnal cycles with shorter-
term fluctuations. Attempts should be made to
identify similarities in the underlying controls on
mechanical disruption. These similarities are
suggested by the observation that most break-
down occurs in conjunction with thermally in-
duced expansion and contraction. If underlying
similarities can be identified, these may point the
way towards a unified approach to the study of
mechanical weathering, within which a know-
ledge of one mechanism will facilitate the under-
standing of others.

Between observations of how mechanisms operate and
the landforms they produce. Links between the two
are frequently made, though usually at the level
of circular argument. Features such as tafoni are
used to infer the operation of salt weathering,
although it is known that such forms are equifin-
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al and the reasons why salt weathering should

produce such distinctive features are incomplete-

ly understood.
(c) Between weathering landforms and landscape. Indi-
vidual landscapes frequently experience a range
of weathering processes and contain numerous
weathering features. Few attempts have been
made in desert environments to examine the
overall contribution of weathering to landscape
evolution. In particular, the control exerted by
weathering upon rates of debris supply, debris
character, and, ultimately, the rate of landscape
development has received little attention.
Between field and laboratory studies. In addition to
the obvious requirement that laboratory simula-
tions should, as far as possible, reflect field
environments, efforts should be made to com-
bine field and laboratory experimentation. This
could involve, for example, field exposure trials
using pre-treated blocks linked to exposure of
similar blocks to simulated weathering environ-
ments under controlled laboratory conditions. In
terms of field exposure trials, geomorphologists
have much to learn from work on stone decay in
polluted environments (e.g. Building Effects Re-
view Group 1989) where a wide range of soph-
isticated exposure programmes has been initi-
ated in recent years.

d
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ARIDIC SOILS, PATTERNED GROUND, 4
AND DESERT PAVEMENTS

John C. Dixon

INTRODUCTION

Pedogenic and geomorphic processes operating in
deserts are inextricably linked. These linkages are
particularly well expressed in the development of
patterned ground and desert pavement. In addition,
the nature and efficacy of hydraulic, gravitational,
and aeolian processes on desert surfaces are strongly
influenced by the physical and chemical characteris-
tics of the underlying soils. As a result, the evolution
of a diversity of desert landforms is either directly or
indirectly linked to pedogenic processes.

The significant role played by pedogenic processes
in desert landscape evolution is also strongly
reflected in the development of duricrusts — indu-
rated accumulations of calcium carbonate, gypsum,
and silica. These essentially pedogenic materials
impart considerable relief in the form of tablelands,
mesas, and buttes to otherwise low-relief land-
scapes. Erosion of these topographic eminences in
turn provides the coarse debris for the formation of
patterned ground and desert pavement.

In this chapter the nature and genesis of soils in
arid and semi-arid environments are examined. This
discussion is followed by an examination of the
major types of patterned ground and the processes

responsible for its formation. Finally, the nature and .

origin of desert pavements are examined. The char-
acteristics and origin of duricrusts are discussed in
Chapter 5.

ARIDIC SOILS

CHARACTERISTICS

Aridic soils display a variety of distinctive morpho-
logical features. Among these are the presence of
gravel surfaces, the development of surficial crusts,

and the widespread occurrence of vesicular A hori-
zons. Such soils commonly possess ochric and mollic
epipedons and are characterized by the formation of
a variety of diagnostic subsurface horizons including
cambic, argillic, calcic, petrocalcic, gypsic, petrogyp-
sic, natric, salic, and duripan horizons.

Vesicular Horizons

Immediately beneath the gravel surface layer of
many aridic soils a vesicular A horizon (Fig. 4.1)
commonly occurs and is often associated with a
surface crust. Formation of the vesicular horizon has
been widely attributed to the saturation of the fine
grained soil surface horizon (Miller 1971). Nettleton
and Peterson (1983) argued that in the saturated
state the soil plasma of this upper horizon is free to
move and in so doing traps air. With repeated
episodes of saturation and air entrapment, the
vesicles in the surface horizon increase in size.
Repeated destruction of the vesicular horizon is
thought to be caused by wetting and drying cycles
(Springer 1958, Miller 1971). Nettleton and Peterson
(1983) alternatively suggested that vesicular horizon
destruction is primarily the result of soil trampling
by animals. Upon destruction, the formation of the
vesicular horizon begins anew as soil saturation
episodes begin and air entrapment resumes.

More recently, a substantially different explana-
tion for the origin of the vesicular horizon has been
proposed by Wells et al. (1985) and McFadden et al.
(1986, 1987). These workers attributed the origin of
the fine grained surface horizon and accompanying
vesicular structure to aeolian addition of fine grained
materials and associated soluble salts, carbonates,
and iron oxides. The development of vesicles was
attributed to entrapment of air by aeolian infall with
subsequent expansion due to heating following sum-
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Figure 4.1 Soil developed beneath desert pavement show-
ing vesicular A horizon (Av) and carbonate and gypsum
enriched B horizon (Btky). Bedrock rubble is designated (R)
(photo courtesy of L.D. McFadden).

mer rainfall events. This model follows that of
Evenari et al. (1974) for vesicular horizons developed
in soils in Israel. While aeolian infall was envisaged
as the primary source of the fine grained surface
layer, McFadden et al. (1987) also suggested that
some of the sand and silt fraction may be the result
of mechanical weathering of the surface gravels. The
presence, and successive accumulation, of clay in
the aeolian mantle leads to the development of a
distinctive columnar structure in the Av horizon due
to enhanced shrink-swell capacity (McFadden et al.
1986) (Fig. 4.2). Recently, Sullivan and Koppi (1991),
working on desert loams in Australia, have also
proposed that the fine grained materials in the
vesicular horizon are externally derived. They sug-
gested a combination of aeolian, colluvial, and
overland flow sources.

Cambic Horizons

Intimately associated with the vesicular, ochric
epipedons are cambic horizons. These horizons are
found below ochric epipedons and are typically
reddish or brownish in colour. There is evidence of
alteration in the horizon in the form of obliteration
of original structures due to mixing, development of
new structure, accumulation of clay, and carbonate
translocation through and into the horizon (Net-
tleton and Peterson 1983). The source of the fine
material and the carbonates in this horizon is widely
attributed to aeolian infall (Gile 1970, 1975, Gerson et
al. 1985, McFadden et al. 1986, Gerson and Amit
1987, Reheis 1987a, Wells et al. 1987, Birkeland 1990).
McFadden et al. (1986) suggested that as the vesicu-
lar horizon thickens due to continued aeolian addi-
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Figure 4.2 Columnar structure of vesicular A horizon re-
sulting from high shrink-swell capacity (photo courtesy of
L. D. McFadden).

tion, plasma migration near the base of the horizon
results in destruction of vesicles and a slowing of the
migration of infiltrating waters. This slowing of
infiltration results in ferrous iron alteration as well as
the accumulation of authigenic ferric iron oxyhy-
droxides. Soil reddening results, and a cambic hori-
zon slowly develops. Clay and carbonate added by
aeolian infall also migrate to the cambic horizon.

Argillic Horizons

Many aridic soils are characterized by the occurrence
of strongly developed argillic (clay-rich) horizons.
This horizon differs markedly from the afore-
described cambic horizon in that it is substantially
more abundant in clay and commonly has a non-
calcareous matrix. Research on the origin of the
argillic horizon has focused on two contrasting
sources of clay. Smith and Buol (1968) and Nettleton
et al. (1975) have shown that the degree of mineral
weathering in A horizons of some argids in the
south-western United States is comparable to, or
greater than, that in underlying Bt horizons. This
finding therefore suggests that chemical weathering
in A horizons is a possible source of illuvial clay.
Further, these authors have pointed to the occur-
rence of clay skins on mineral grains and pebbles in
the argillic horizon as evidence for clay illuviation.
The frequent lack of clay skins on ped faces is
attributed by Nettleton and Peterson (1983) to des-
truction by swell-shrink mechanisms, bioturbation,
and calcium carbonate crystal growth. Nettleton et
al. (1975) also argued for clay illuviation on the basis
of patterns of distribution of fine and coarse clay and
total iron and aluminium down the profile. Finally,



66  Aridic soils, patterned ground, and desert pavements

Nettleton and Peterson (1983) reasoned that the
occurrence of clay skins on the walls of deep pipes
or as downward extensions of the argillic horizon
support an illuvial origin for the clay. Chartres
(1982), on the other hand, has stressed the import-
ance of the aeolian addition of fine debris in the
formation of argillic horizons, citing a relative lack of
weathered soil particles in the A horizon as evidence
against an in-profile source of clay.

Carbonates are commonly associated with the
argillic horizon. In some cases they may dominate
the soil matrix (Gile 1967), but more commonly they
occur as nodules which have displaced the previous-
ly deposited clays (Gile and Grossman 1968, McFad-
den et al. 1986). Accumulation of carbonates in
argillic horizons is widely interpreted to be indica-
tive of significant climate change from humid to arid
climatic regimes with an accompanying reduction in
depth of leaching (Nettleton and Peterson 1983,
McFadden and Tinsley 1985, McFadden et al. 1986,
Reheis 1987b, Wells et al. 1987). Thick argillic hori-
zons in Aridisols are therefore widely regarded as
being largely relics of the Pleistocene.

Natric and Salic Horizons

The accumulation of soluble salts is a further charac-
teristic of aridic soils. Accumulation results in the
formation of either natric (sodic) or salic (saline)
horizons. Natric horizons are characterized by high
(=15%) exchangeable sodium and by the develop-
ment of prismatic or columnar soil structure (Soil
Survey Staff 1975). In Holocene age soils these
horizons are typically thin, while in Pleistocene soils
they thicken considerably (Nettleton and Peterson
1983). These horizons typically occur above or in a
zone of calcium carbonate accumulation (Nettleton
and Peterson 1983). Although there is sodium accu-
mulation, there is insufficient for these horizons to
be classified as salic. Salic horizons are characterized
by accumulation of salts in such abundance that the
product of horizon thickness in centimetres and
percentage salt content is not less than 60.

Soluble salt-rich horizons appear to be the result
of three principal processes. Airborne addition of
salts has been suggested for these horizons in aridic
soils in the United States by Alexander and Nettle-
ton (1977), Peterson (1980), Nettleton and Peterson
(1983), and McFadden et al. (1991). An airborne
source of salts has also been suggested for saline
soils in Israel (Yaalon 1964, Yaalon and Ganor 1973,
Dan et al. 1982, Amit and Gerson 1986). The source
of salts in sodic soils in Australia has also been
widely attributed to airborne sources, particularly for

those soils within about 200 km of the coastal en-
vironment (Hutton and Leslie 1958, Wetselaar and
Hutton 1963, Chartres 1983, Isbell et al. 1983).

A second source of the sodium is from the
incursion of very shallow ground waters. Nettleton
and Peterson (1983) suggested such an origin for
some of the natric horizons in soils in the United
States. These workers also proposed that this pro-
cess is particularly important in the formation of
salic horizons. This process appears to be especially
significant for soils occurring in the Riverine Plain of
south-eastern Australia (Northcote and Skene 1972,
Isbell et al. 1983). Detailed discussion of salinization
of soils in Western Australia by saline ground waters
is provided by Conacher (1975). Secondary saliniza-
tion as a result of groundwater pumping for irriga-
tion is a growing problem in some arid Australian
soils.

The third explanation for the formation of natric or
salic horizons is the inheritance of salts from parent
materials. Three parent material sources have been
suggested by workers from Australia. Chartres
(1983) suggested that sodic horizons developed well
below the depth of contemporary infiltration may
well have originated in older sodic soils which have
subsequently been eroded. A number of studies of
sodic soils from western Queensland strongly sug-
gest that many have derived their sodium from the
underlying bedrock (Gunn and Richardson 1979,
Isbell et al. 1983). In a related fashion, some sodic
soils derive their salts from underlying deeply
weathered parent materials which have in turn been
derived from salt-rich bedrock. Sodic soils developed
on laterite in Western Australia have been reported
by Bettenay et al. (1964) and Dimmock et al. (1974).
The significance of the deep sodic horizons as
sources of secondary salinization have been investi-
gated by Peck and Hurle (1973) and Peck (1978).
Sodic soils developed in deeply weathered materials
have also been reported from Queensland by Hub-
ble and Isbell (1958) and Isbell (1962). More recently,
Gunn (1967) has suggested that deep weathering
profiles are also the source of salts in solodic and
solodized-solonetz soils in central Queensland.

Calcic and Gypsic Horizons

Aridic soils are frequently dominated by calcium
carbonate and/or gypsum. With progressive concen-
tration of carbonate or gypsum and accompanying
induration, petrocalcic and petrogypsic horizons de-
velop. These horizons are collectively referred to as
duricrusts, which are discussed fully in Chapter 5.
Calcic and gypsic soils are characterized by the



occurrence of non-indurated accumulations of calcite
and/or dolomite in the former and gypsum in the
latter. These materials occur in a variety of forms
including powdery fillings, nodules, pendents, or
crusts beneath pebbles and cobbles. Crusts in calcic
and gypsic soils slake in water. In the United States,
calcic soil horizons must be 15cm or more thick,
contain the equivalent of =15% CaCOj, and have a
carbonate content =5% greater than the C horizon.
Gypsic soil horizons must also be 15cm or more
thick, contain at least 5% more gypsum than the
underlying horizon, and have a product of horizon
thickness in centimetres and percentage gypsum
content not less than 150 (Soil Survey Staff 1975).

Descriptions of calcic and gypsic soils are common
in the desert soils literature. It is important to point
out that many aridic soils contain intergrades of
calcic—gypsic horizons. Calcic soils in the United
States have been extensively investigated by Bach-
man and Machette (1977), Shlemon (1978), Gile et al.
(1981), Nettleton and Peterson (1983), Machette
(1985), Weide (1985), Reheis et al. (1989), Harden et
al. (1991), McFadden et al. (1991), Monger et al.
(1991), Rabenhorst et al. (1991), and Nettleton et al.
(1991). Studies of gypsic soils in the United States
are notably fewer but include those of Nelson et al.
(1978), Nettleton et al. (1982), and Harden et al.
(1991). Detailed descriptions of gypsic soils in
Wyoming have been provided by Reheis (1987a)
Figs 4.3, 4.4 and 4.5). Studies of calcic soils from
Australia have been summarized by Stace et al.
(1968) and Northcote and Skene (1972), and more
recently by Hutton and Dixon (1981), Milnes and
Hutton (1983), Isbell et al. (1983), and Akpokodje
(1984). Early descriptions of gypsic soils in Australia
were provided by Jessop (1960) and Bettenay (1962).
Calcic and gypsic soils have been reported from
many other arid and semi-arid environments, some
of which were summarized by Eswaran and Zi-Tong
(1991). These authors reported the extensive occurr-
ence of gypsic soils in China, India, Pakistan, the
Middle East, and Africa. More limited occurrences of
gypsic soils were recorded in southern Europe. Dan
(1983) and Dan et al. (1982) described gypsic soils
from Israel.

The source of the gypsum and carbonate in aridic
soils is widely believed to be from atmospheric
addition as either dust or carbonate dissolved in
rainwater (Bull 1991, Dohrenwend et al. 1991, Gus-
tavson et al. 1991). However, some studies such as
those by Akpokodje (1984) suggest an in situ origin
of the carbonate and gypsum. Recently, Boettinger
and Southard (1991) have provided compelling evi-
dence from Aridisols developed on pediments in the
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Figure 4.3 Stage I gypsum (arrows) in soil developed on
alluvial fan, Bighorn Basin, Wyoming (photo courtesy of
M. Reheis (U.S. Geological Survey Bulletin 1590-C)).

Figure 4.4 Complex gypsic soil developed on alluvial fan,
Bighorn Basin, Wyoming. Stage IV gypsum 20-50 cm,
Stage IVIII gypsum 50-75cm, Stage II gypsum 75+ cm
(photo courtesy of M. Reheis (U.S. Geological Survey
Bulletin 1590-C)).
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Figure 4.5 Stage IV gypsum (g) in soil developed on
alluvial fan, Bighorn Basin, Wyoming (photo courtesy of
M. Reheis (U.S. Geological Survey Bulletin 1590-C)).

Mojave Desert of California that the source of
carbonate deep within calcareous Haplargids is de-
rived from the weathering of the granite and accom-
panying release of calcium from plagioclase.

Duripans

Many arid soils possess a duripan. These pans are
subsurface indurations of predominantly silica, but
may grade to petrocalcic (calcrete) horizons (Soil
Survey Staff 1975, Nettleton and Peterson 1983). In
gross morphology, chemistry, and mineralogy they
are analogous to silcretes described in detail in
Chapter 5. Duripans are generally platy in structure
with individual plates ranging in thickness from 1 to
15 cm. Pores and surfaces of the plates are common-
ly coated with opal, chalcedony, and/or microcrystal-
line silica. For a soil horizon to be classified as a
duripan, at least one of three criteria must be met.
The soil must display (a) some vertical coatings of
opal, (b) siliceous nodule development, or (c) the
development of silica pendents on the undersides of
coarse fragments. In addition, opal or other forms of
silica must partly fill interstices and form bridges
between sand grains (Soil Survey Staff 1975).
Duripans in the United States appear to be most
strongly developed in soils formed on volcanic ash
or other pyroclastic parent materials containing
abundant silica (Flach et al. 1969, 1973, Brasher et al.
1976, Nettleton and Peterson 1983). Duripans have
recently been examined by Boettinger and Southard
(1991) from a Durorthid pedon developed in grus on
a pediment in the Mojave Desert. These workers
suggested that the source of the silica is not volcanic
glass, which is essentially absent from the profile,
but the weathering of feldspars. In Australia, Stace

et al. (1968) reported hardpan soils commonly occur-
ring on strongly weathered alluvial and colluvial
deposits as well as on eroded laterites. Duripans are
most strongly developed on older landscape surfaces
where there has been sufficient time for prolonged
silica dissolution, translocation, and deposition.
They form at the average depth of wetting, which
progressively diminishes with increasing aridity.
Duripans commonly form below or in the lower part
of argillic or natric horizons and have also been
observed to be interlayered with illuvial clay (Nettle-
ton and Peterson 1983). In Australia, hardpan soils
have been reported from Western Australia by
Litchfield and Mabbutt (1962), Stace et al. (1968), and
Brewer et al. (1972), from South Australia by Stace et
al. (1968), Wright (1983), and Milnes et al. (1991), and
from New South Wales by Chartres (1985).

ARIDIC SOILS AND LANDSCAPE DEVELOPMENT

Research on aridic soils in the United States in recent
years has focused heavily on the relationship be-
tween soil development and landscape evolution.
These studies have been concerned with the age of
landscapes, correlation of Quaternary deposits, and
climate change. The use of aridic soils as relative age
indicators is well illustrated in studies from the
western and south-western United States (Christian-
son and Purcell 1985, Harden et al. 1985, Machette
1985, Ponti 1985, Dohrenwend et al. 1991).

Detailed studies of soil development as an indica-
tor of environmental change have been undertaken
by many workers in the south-western United
States. Major differences in aeolian dust addition to
soils between the Holocene and Pleistocene are
reported by Machette (1985), McFadden et al. (1984,
1986, 1987), Wells et al. (1987), Chadwick and Davis
(1990), Reheis (1987a, b, 1990), and Bull (1991).
Studies of carbonate accumulation amounts and
rates, and depth of infiltration have been under-
taken by Machette (1985), McFadden and Tinsley
(1985), Reheis (1987a, b), and Bull (1991). These
studies all point to maximum carbonate accumula-
tion during the Holocene and accompanying reduc-
tion in the depth of carbonate infiltration. The
polygenetic nature of many aridic soils is also
highlighted in studies by Reheis (1987a, b) Nettleton
et al. (1989), and Bull (1991). Variability in rates of
soil formation depending on geomorphic setting and
climate is stressed by Reheis et al. (1989) and Bull
(1991).

Soils in arid environments in the western United
States have also been widely used as stratigraphic
markers and as indicators of periods of stability



within Quaternary depositional systems. Such stud-
ies are well exemplified by the work of Gustavson
and Winkler (1988), Gustavson et al. (1991), and
Holliday (1985a, b, c, 1988, 1989, 1990) from the
southern High Plains of Texas and New Mexico. A
similar study in an aeolian environment in the
southern Colorado Plateau by Wells et al. (1990)
further demonstrates the importance of soils in
studies of landscape evolution in desert environ-
ments.

CLASSIFICATION

In the United States, the soil order dominating the
warm desert regions of the country is Aridisol. Two
principal suborders, Argids and Orthids, are recog-
nized. Argids are Aridisols that are characterized by
the development of argillic or natric horizons.
Orthids are Aridisols which lack an argillic or natric
horizon.

Each of these suborders can be further divided
into a number of great groups. The principal great
groups of Argids are Durargids, Haplargids, Natrar-
gids, Nadurargids, and Paleargids (Guthrie 1982).
Durargids possess a duripan that underlies an argil-
lic horizon and lack natric horizons. The top of the
duripan is within a metre of the ground surface.
Haplargids lack a natric horizon and do not have a
duripan or petrocalcic horizon within a metre of the
surface. They have weakly developed argillic hori-
zons with less than 35% clay accumulation. Natrar-
gids are characterized by the occurrence of a natric
horizon but lack a duripan or petrocalcic horizon
within a metre of the ground surface. Nadurargids
are Argids that possess a natric horizon above a
duripan, and the surface of the duripan is within a
metre of the ground surface. Paleargids are Argids
that develop on old land surfaces. They are characte-
rized by either a petrocalcic horizon below an argillic
horizon or an argillic horizon with greater than 35%
clay and an abrupt upper boundary (Soil Survey
Staff 1975).

Orthids are aridic soils with one or more
pedogenic horizons. However, they lack a natric or
argillic horizon. They commonly have an accumulic
horizon of soluble salts and calcium carbonate. Some
orthids possess salic, calcic, gypsic, petrocalcic, pet-
rogypsic, cambic, and duripan horizons (Soil Survey
Staff 1975). Orthids are divided into six great
groups: Calciorthids, Camborthids, Durorthids,
Gypsiorthids, Paleorthids, and Salorthids. Calcior-
thids contain abundant amounts of lime derived
from either the parent material or added from
aeolian dust. Camborthids are characterized by the
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development of a cambic horizon that results in a
brownish to reddish brown soil of uniform texture.
Durorthids possess a duripan within a metre of the
surface and are commonly calcareous throughout.
Gypsiorthids contain a gypsic or petrogypsic horizon
with an upper boundary within a metre of the soil
surface. Paleorthids contain a petrocalcic horizon
within a metre of the ground surface. They com-
monly display evidence of calcium carbonate en-
gulfing a pre-existing argillic horizon. Salorthids are
very salty soils commonly associated with the accu-
mulation of salts from capilliary rise of salty waters.
They are characterized by a salic horizon (Soil
Survey Staff 1975).

Aridisols, however, are not the only soil order
found in warm desert environments. In one of the
most comprehensive studies of arid lands soils in the
United States, the Desert Project (Gile et al. 1981)
recognized that large parts of the study sites in New
Mexico are occupied by Entisols, Mollisols, and
some Vertisols. Recent studies of the desert region
in the south-western United States have recorded
the widespread development of Entisols on
Holocene age surficial deposits (McFadden 1988,
Bull 1991).

The classification of soils in the arid environments
of Australia is based on the Great Soil Groups
originally proposed by Prescott (1931), modified by

:Stephens (1962), and more recently modified again

by Stace et al. (1968). The Australian arid zone
possesses a complex mozaic of Great Soil Groups,
including Solonchaks, Lithosols, Siliceous Sands,
Desert Loams, Grey Brown and Red Clays, Red and
Brown Hardpan Soils, Solonized Brown Soil and
Red Earths.

PATTERNED GROUND

GILGAI

Patterned ground associated with both stony deserts
and playa surfaces is a widespread phenomenon in
warm deserts (Cooke and Warren 1973, pp. 12949,
Mabbutt 1977, pp. 130-4). Perhaps the most com-
mon and widespread type of patterned ground is
gilgai. Gilgai is an Australian aboriginal word mean-
ing small water hole, and while originally applied to
small depressions that held water, it is now used to
refer to a wide variety of soil patterned ground
phenomena. Although the distribution and diversity
of gilgai forms is perhaps greatest on the Australian
continent, gilgai has also been reported from the
Middle East by Harris (1958, 1959) and White and
Law (1969), from South Dakota by White and Bones-
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tall (1960), and from Death Valley, California, by
Denny (1965, 1967) and Hunt and Washburn (1960).
In addition to gilgai being frequently associated with
soils of high swelling potential such as Vertisols, it is
also a common feature in arid and semi-arid en-
vironments where strong textural contrasts exist
within soils and where the climate is characterized
by pronounced seasonality of precipitation. Gilgai
morphology occurs in soils with annual rainfalls
ranging from less than 150mm to more than
1500 mm.

Gilgai Types

In early work on gilgai (Hallsworth and Robertson
1951, Hallsworth et al. 1955, Stace et al. 1968, pp. 417
and 420, Hubble et al. 1983), six principal types of
morphology were recognized (Fig. 4.6). (a) Normal
gilgai is the most common form and is characterized
by the development of randomly oriented mounds
and shelves. The magnitude of these features ranges
from imperceptible to as much as 3 m vertically with
a wavelength of 15m. If mounds are subcircular,
they are referred to as puffy gilgai. (b) Melon-hole
gilgai consists of large mounds separated by shelves
of complex morphology. The shelves are commonly
depressions with one or more sinkholes at the
bottom; they are typically 1 to 3m wide and 15 to
20cm deep. (c) Stony gilgai, which most closely
resembles the patterned ground found at high lati-
tudes and high altitudes, has stone-covered mounds
which are wide and flat in form. (d) Lattice gilgai is
complex in morphology. It includes mounds that are
discontinuous and oriented parallel to the direction
of the slope as well as semi-continuous mounds that
form networks of diverse orientation. (e) Linear or
wavy gilgai develops on hillslopes ranging in gra-
dient from 15" to 3°. Mounds and shelves are
continuous and are arranged at right angles to the
contour. These forms are 5 to 10 cm in height, and in
the dry season they are very puffy in appearance. (f)
Tank gilgai is large-scale gilgai that is usually rect-
angular in shape. Vertical dimensions range from
60 cm to 1.5 m, while depressions are 10 to 20 m long
and 15 to 20 m wide.

The most widely developed type of gilgai in the
Australian desert is stony gilgai. Ollier (1966) and
Mabbutt (1977, p. 131, 1979) recognized two princip-
al types: circular and stepped (Fig. 4.6c i and ii).
Circular gilgai is characterized by the development
of a relatively fine grained inner depression sur-
rounded by a slightly raised stony rim. The depress-
ions are commonly about 3 m in diameter, while the
outer rims have diameters of approximately 8 m.

This type of stony gilgai commonly forms on sur-
faces of low slope. The soil beneath the stony
mound is generally clay-rich and has a silt crust with
embedded pebbles. In contrast, the soil beneath the
depression is typically sandier in the upper 30 to
50 cm but at depth resembles the mound soil and
has abundant coarse fragments. Circular gilgai may
occur either in random patterns or in networks.
Stepped gilgai — or, as Mabbutt (1977, 1979) calls
them, lattice systems — occur on steeper slopes with
gradients of 0.5° to 6°. These forms are essentially
distorted gilgai that become aligned across the slope.
They are characterized by the development of stony
risers upslope and downslope of practically stone-
free treads. As with the circular gilgai forms, the
risers are underlain by fine grained soils, while
sandier soils underlie the treads. Treads commonly
display sink holes at the base of the upslope riser
(Ollier 1966, Cooke and Warren 1973, Mabbutt 1979).

Mabbutt (1979) recognized a third type of stony
Zilgai in the desert pavement-covered areas of the
Northern Territory. He referred to this type as
sorted stone polygons (Fig. 4.6c iii). These polygons
are between 40 and 80cm in diameter and are
outlined by a rim of silcrete boulders sitting on a
pavement of smaller pebbles. The silcrete boulders
are absent from the interior depression, though the
smaller pebbles are still present. Top soil thicknesses
are generally greater in the interior of the polygon
(Mabbutt 1977).

Although gilgai in the arid areas of Australia is
primarily associated with Desert Loams (Stace et al.
1968), it is also associated with a variety of other
soils with strong textural contrasts in seasonally
wet—dry environments. In particular, gilgai is strong-
ly developed on grey cracking clays in west-central
Queensland and in north-central and south-central
New South Wales (Stace et al. 1968).

Detailed analyses of gilgai morphology have been
undertaken by Paton (1974) and Knight (1980).
Knight analysed gilgai in south-eastern Australia
using structural geological techniques. He recog-
nized five recurring patterns based on the spatial
arrangement of mounds, depressions, and shelves.

Gilgai Formation

A large literature exists on the origin of gilgai.
Knight (1980) identified four types of gilgai-forming
mechanisms: (a) heave between cracks, (b) heave
over cracks, (c) contraction over cracks, and (d)
heave due to loading (Fig. 4.7). Within the first type
of mechanism he distinguished three subtypes
(Fig. 4.7a). The first subtype involves soil compres-
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Figure 4.6 Cross-sections of principal types of gilgai: (a) normal; (b) melon-hole; (c) stony: (i) circular, (ii) stepped, (iii)
polygonal; (d) lattice; (e) linear; (f) tank. (After Ollier 1966, Mabbutt 1977, Hubble et al. 1983.)

sion, extrusion, and associated plastic flow, with
resulting upward movement of the mound. This
mechanism was originally proposed by Leeper et al.
(1936). The second subtype is perhaps one of the
most widely accepted mechanisms of gilgai develop-
ment and involves compression and block fracture
(Hallsworth et al. 1955). This mechanism envisages
the falling or washing of surface materials into
cracks with subsequent exertion of force on subsur-
face clays resulting in vertical upthrusting. The third
subtype calls for compression and oblique slip. This
mechanism was originally proposed by White and
Bonestall (1960). However, these three subtypes are
all regarded by Knight (1980) as being mechanically
unsound.

Two subtypes of the heave-over-cracks mechan-
ism were recognized by Knight (1980) (Fig. 4.7b).
The first he classified as being due to cumulative

internal vertical movements due to small oblique
slips. The second subtype is that of vertical block
movement due to heave and was proposed by
Howard (1939). It is also the mechanism proposed
by Ollier (1966) for stony gilgai.

The contraction-over-cracks mechanism is a
hypothetical one proposed by McGarity (1953)
(Fig. 4.7c). It envisages the formation of depressions
in the vicinity of adjacent cracks and mounds be-
tween cracks. The depressions are the result of
downward movement of soil due to drying.

The heave-due-to-loading mechanism can be di-
vided into two subtypes (Fig. 4.7d). The first in-
volves the upward flow of soil due to density
contrasts between layers (Beckman 1966, Paton
1974), whereas the second involves the flow of
fluidized soil up a crack through a solid layer
(Hallsworth and Beckman 1969).
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SURFACE CRACKING

The second major type of patterned ground in warm
deserts is related to surface cracking. This cracking is
interpreted to be largely a desiccation feature caused
by drying of the surface crust (Cooke and Warren
1973, pp. 139-40). Considerable literature exists on
the nature and origin of cracks in sediments.
However, there has been relatively little discussion
of the origin of small-scale surface cracks in deserts.
An exception is the work by Tucker (1978) in
northern Iraq on the origin of patterned ground
associated with gypsum crusts. Tucker examined
non-orthogonal crack types (Lachenbruch 1962)
which range in diameter from 50 cm to 2 m, with the
cracks themselves being no wider than 5cm. The
cracks are commonly infilled with gypsum and stand
as ridges above the general level of the surface crust.

Polygons commonly are upturned at their edges.
Tucker suggested that the development of cracks
and resulting polygons is the result of changes in
volume of the gypsum crust. These volume changes
he attributed to diurnal and seasonal changes in
temperature.

Another prominent type of patterned ground in
deserts is found on playa lake surfaces and is
characterized by large-scale desiccation fissures
(Fig. 4.8). Such fissures have received considerable
attention in the literature. In the United States
extensive work on the nature and origin of these
features has been undertaken in California by Neal
(1965, 1968a, b, 1969), Neal and Motts (1967) and by
Neal et al. (1968). These features are primarily the
result of desiccation and subsequent cracking of
crusts rich in swelling clays.

A great variety of patterned ground forms has
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Figure 4.7 Principal mechanisms of gilgai formation. (a) Heave between cracks: (i) by compression, extrusion and plastic
flow, (i) by compression and block fracture, (iii) by compression and oblique slip; (b) heave over cracks: (i) by cumulative
internal oblique slip, (ii) by vertical block movement; (c) contraction over cracks due to downward movement associated
with desiccation; (d) heave due to loading: (i) by upward flow due to density differences between layers, (ii) by upward
flow of fluid soil through cracks in solid layer. (After Knight 1980.)

been described from playa lakes in the western
United States by Hunt and Washburn (1960, 1966).
These forms are associated with different types of
salt crusts. Smooth silt-rich surfaces with desiccation
cracks and solution pits occur in the chloride zone
beyond the limits of playa flooding. In the areas of
gypsum crust, nets and polygons develop. In the
carbonate zone near the edge of the salinas, sorted
and non-sorted nets develop. The sorted nets form
as a result of the washing of debris into the cracks.
Sorted polygons develop where rock salt occurs
beneath the surface. Coarse debris accumulates in
depressions within silt overlying the salts. In addi-
tion, Hunt and Washburn (1966) have described a
variety of patterned ground features developed on
alluvial fan surfaces, including sorted steps, sorted
polygons, and stone stripes.

The various patterned ground phenomena de-
scribed from playa lake basins are all essentially the

result of the action of salt crystallization. In addition
to the desiccation of salt-rich sediment crusts on and
adjacent to playas, the expansion and contraction of
salts as a result of heating and cooling as well as
wetting and drying play an important role in the
development of patterned ground features.

Patterned ground phenomena have been de-
scribed from the Great Kavi of Iran. Krinsley (1968,
1970) reported a variety of morphologies including
salt polygons, thrust polygons, desiccation cracks,
and mud pinnacles. He attributed these features
largely to the influx and episodic evaporation and
subsequent desiccation of salt-rich ground waters.
Patterned ground has also been described from the
bed of Lake Eyre in central Australia, where its
origin has been ascribed to the growth of salt
crystals in unconsolidated muds and accompanying
ground heave along desiccation cracks (Summerfield
1991, p. 147).
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Figure 4.8 Salt polygons, Death Valley Salt Pan, California.

MICROTOPOGRAPHIC PATTERNED GROUND

Microtopographic patterned ground forms are also
common in desert environments. These forms are
often not apparent to the casual observer but are
highlighted by patterns of vegetation growth, such
as vegetation arcs and water lanes recognized by
MacFadyen (1950) and Hemming (1965) in Somalia.
Water lanes have also been described from the
Somaliland Plateau by Boaler and Hodge (1962).
Similar patterns have been observed in Western
Australia by Mabbutt (1963). He attributed the sort-
ing of sediment to the combined action of wind and
sheet flow. Large arcuate ripples have been de-
scribed in Utah by Ives (1946).

DESERT PAVEMENT

MORPHOLOGY

Desert pavement is a stony surface generally com-
posed of a layer of angular or subrounded gravels
one or two stones thick sitting on a mantle of finer
stone-free material (Mabbutt 1965, 1977, p. 119,
Cooke and Warren 1973, p. 120) (Figs 4.9 and 4.10).
Desert pavement occurs widely in the warm deserts
of the world (Cooke and Warren 1973, p. 121,
Mabbutt 1977, p. 119). This surficial phenomenon is
known by a variety of names depending on the
particular character of the pavement and the region
of the world in which it occurs. Where the pavement
is dominated by rock outcrops and boulders are
relatively few, the landscape is referred to as hama-
da, an Arabic word meaning ‘unfruitful’. Boulder
hamada consists of extensive surfaces of large angu-
lar rock fragments and occurs extensively in deserts
such as the Libyan Sahara (Mabbutt 1977, p. 121).

Figure 4.9 Desert pavement, Cima volcanic field, Califor-
nia. Pavement underlain by a thick layer of aeolian-derived
fine sediment (photo courtesy of L.D. McFadden).

Figure 4.10 Desert pavement, Afton Canyon, California.
Pavement underlain by a thick layer of aeolian-derived fine
sediment.

Pavement dominated by smaller size gravel is re-
ferred to as reg in the old world and derives its
name from the Arabic word meaning ‘becoming
smaller’ (Dan et al. 1982, Amit and Gerson 1986). In
the central Sahara, reg surfaces are referred to as
serir (Mabbutt 1977). In Australia stone pavements
are called gibber.

GENESIS

Deflation

The development of desert pavement is generally
attributed to one of five stone-concentrating proces-
ses. Perhaps the most commonly invoked process is
that of deflation. The concentration of the coarse
debris is believed to be the result of the removal of



fine-grained material from the desert surface by
wind, leaving the coarser debris behind as a lag
deposit (e.g. Cooke 1970, Dan et al. 1981, 1982).
Many workers, however, have questioned the ability
of wind to transport fine-grained materials from
desert surfaces. These materials are often incorpo-
rated into crusts which effectively preclude subse-
quent transportation (Cooke 1970). Several workers
have also shown that as a gravel surface develops,
the areas between the coarse fragments in fact
become sheltered from the wind and fine-grained
materials in these locations become progressively
less likely to be transported (Pandastico and Ashaye
1956, Symmons and Hemming 1968). Finally, the
fact that many desert pavements are underlain by a
relatively thick layer of fine debris suggests the
relative inefficiency of aeolian transport of fines from
the desert surface. Some desert pavements, howev-
er, may in fact be the result of deflation, such as
those observed in the Peruvian desert by Crolier et
al. (1979). These workers noted that the cobbles
forming the pavement are not supported by silts and
clays but rather rest on sands and gravels (Fig. 4.11).

Wash

A second mechanism for gravel concentration that
has been widely proposed is the winnowing of fines
by surface wash (Lowdermilk and Sudling 1950,
Sharon 1962, Denny 1965, Cooke 1970, Dan et al.
1981, 1982). Several of these workers have shown
quantitatively that erosion of disturbed pavements
yields considerable amounts of fine wash debris
(Sharon 1962, Cooke 1970). McHargue (1981), work-
ing in the vicinity of the Aguila Mountains in
Arizona, demonstrated that surface wash is a neces-
sary component of pavement formation. He argued
that incipient pavements form after the erosion of 1
to 3cm of fine sediment and that stable pavements
form after the removal of 3 to 15cm of sediment.
McHargue envisaged long-term stability of the pave-
ment being related to subsequent addition of fine-
grained aeolian materials to the landscape. Howev-
er, the widespread development of surface crusts
probably precludes extensive pavement develop-
ment by wash processes.

Upward Migration of Stones

The third and perhaps most widely accepted ex-
planation for the origin of desert pavements is the
progressive upward migration of coarse particles
through the underlying finer material. The mechan-
ism most commonly invoked for this upward move-
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Figure 4.11 Deflation pavement on marine terrace near
Punta Carballes, southern Peru. Pavement supported by
sand and cobbles (photo courtesy of R. Dorn).

ment is alternate wetting and drying and associated
swelling and shrinking of the fine-grained subpave-
ment materials (Springer 1958, Jessop 1960, Cooke
1970, Dan et al. 1982). As the fine debris swells,
coarse material is forced upward. When shrinkage
occurs the coarse material fails to return to its former
position which is occupied by fines. Repetition of
this sequence of events causes the coarse material
slowly to make its way to the ground surface. This
process is clearly most pronounced in subpavement
soils which are characterized by strong textural
contrasts between the A and B horizons. The pre-
sence of gypsic horizons beneath pavements may
also impede the vertical migration of cobbles from
the subsurface (Fig. 4.12). Cooke and Warren (1973,
p- 128) have suggested that freeze-thaw processes

Figure 4.12 Desert pavement with geoglyphs (arrows) near
Nazca, Peru. Pavement has partially reformed after geog-
lyph construction. Underlying substrate is gypcrete (photo
courtesy of R. Dorn).
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may also account for the formation of stone pave-
ments in high altitude deserts such as those in South
America and central Asia. The appeal of this
mechanism is the fact that it offers an explanation
for the fine-grained material found beneath the
pavement. One of the limitations of this explanation
is the fact that seldom are stones observed to be ‘in
transit’ from below the fine-grained mantle to the
ground surface (Mabbutt 1979). Further, adequate
wetting depths for coarse fragment migration in
deserts are difficult to invoke.

Cumulic Pedogenesis

Mabbutt (1977, 1979) proposed that perhaps some of
the desert pavements in central Australia are the
result of upward sorting above a fine textured
mantle that is largely aeolian in origin. He suggested
that aeolian dust is trapped by the rough surface of
the pavement and that there is a consequent upward
displacement of the pavement as dust accumulation
proceeds. Sorting, if any, is limited to the uppermost
part of the fine-grained aeolian mantle. More recent-
ly, a similar mechanism of pavement formation has
been suggested by McFadden et al. (1987), who
argued that the formation of desert pavement in the
Cima volcanic field, California, is the result of the in
situ mechanical weathering and accompanying
downslope transport of basalt at the ground surface
and the subsequent raising of the pavement as
aeolian silts and clays accumulate below the gravels.
In essence, the pavement is born at the earth’s
surface and, once formed, changes little through
time. Soil development proceeds in the aeolian
mantle beneath the pavement. Recent support for
this model has been provided by Wells et al. (1991)
through cosmogenic dating of gravel clasts. These
workers found that, using *He and *'Ne, lava flow
samples and clast samples have ages that are statisti-
cally inseparable from each other.

Subsurface Weathering

Mabbutt (1977) suggested a fifth process to account
for the formation of desert pavement, namely dif-
ferential weathering. He argued that moisture condi-
tions are more favourable for rock weathering in the
subsoil environment than at the desiccated surface,
leading to the more rapid breakdown of coarse
debris. The result of this enhanced weathering at
depth is a layer of relatively fine materials with a
lack of coarse debris. Mabbutt reasoned that this
process may be particularly important in the genera-
tion of pavements in granitic terranes and that salt

weathering may also be effective in the breakdown
of coarse debris below the surface.

Desert pavements clearly result from a variety of
processes. Some processes act independently, while
others act in combination. The processes responsible
for the formation of pavements vary from location to
location depending on the climate, geomorphic set-
ting, the nature of the clastic materials available, and
the nature of the local soils (Bull 1991, p. 66).

GRAVEL SOURCE

Central to an understanding of the origin of desert
pavements is the source of the gravels. Two princip-
al sources are generally recognized. Some pave-
ments are composed of gravels that are fluvial in
origin (Denny 1965, Cooke 1970, Mabbutt 1977,
p- 122, Dan et al. 1982, Bull 1991, p. 65). These
gravels are commonly rounded and occur in land-
scape settings in close proximity to stream channels.
Some rounding of gravels can be accomplished by
surface weathering processes, and so grain shape
alone is not necessarily indicative of a fluvial origin.
The second source is mechanical weathering of the
local bedrock. This source has frequently been
associated with the origin of hamadas (Cooke 1970,
Mabbutt 1977, p. 121) but is now widely ascribed to
finer grained pavement surfaces as well (Wells et al.
1985, McFadden et al. 1987).

Various processes have been postulated for the
disintegration of bedrock and production of pave-
ment gravels. Cooke (1970) suggested that pavement
gravels in California and Chile might result from the
combined influences of diurnal changes in insola-
tion, the growth of frost needles and salt crystals,
and a variety of chemical weathering processes. Peel
(1974) proposed that gravels on pavements in the
central Sahara are the result of insolation weather-
ing, a view reiterated by Dan et al. (1982) for
pavements in southern Israel and the Sinai. Howev-
er, Dan et al. stress that cracking associated with salt
crystal growth is a more important mechanism. In
their detailed study of pavements in the Cima
volcanic field, McFadden et al. (1987) suggested that
much of the disintegration of the basalt flows is the
result of mechanical disintegration processes. They
proposed that salt- and clay-rich aeolian material
deposited in fractures in the lava-flow surfaces
experiences volumetric increase due to crystal
growth and wetting and drying. These processes
result in the vertical and lateral displacement of
basalt clasts from the parent flows as well as
subsequent breakdown of dislodged fragments.



McFadden et al. suggested that some of the sand and
silt in the fine-grained mantle may be derived from
the mechanical breakdown of surface clasts. Some
chemical alteration of the clasts has also occurred but
appears to be limited to alteration of volcanic glass
and iron oxides as well as olivine in the ground-
mass. Some authigenic clay formation is also sug-
gested. However, much of the clay alteration seems
to be related to chemical weathering of aeolian fines.
A detailed discussion of weathering processes in
arid environments is provided in Chapter 3.

CONCLUSIONS

Desert soils display a distinctive assemblage of
physical chemical and biological characteristics. They
are typically thin, gravelly, salt-dominated, and
organic-poor. Their surfaces are characterized by the
development of crusts and gravel lag deposits. The
processes responsible for the development of these
distinctive soils also result in the development of an
assemblage of distinctive landform features.

The addition of considerable amounts of airborne
clay to landscape surfaces in desert environments
results in the development of soils with considerable
swell-shrink capacity. Repeated swelling and
shrinking of soils leads to the development of a
variety of patterned ground forms.

Aeolian processes not only contribute significantly
to soil formation and patterned ground development
but they represent an important component of
desert pavement formation. Silts and clays added to
the desert landscape act to buoy the coarse gravel
lag on the landscape surface. In addition, these fine
particles as well as airborne salts serve as important
agents of weathering, producing coarse debris that
dominates some desert landscapes.

From the preceding discussion it is clear that a
complete understanding of the geomorphic proces-
ses operating in desert environments cannot be
obtained without a careful assessment of the nature
of desert pedogenic processes.
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DURICRUSTS

John C. Dixon

INTRODUCTION

Warm desert environments are characterized by the
occurrence of a variety of surface and near-surface,
chemically precipitated crusts, including calcrete,
silcrete, and gypcrete. Collectively, these are re-
ferred to as duricrusts (Woolnough 1930). This
chapter focuses on the morphology, chemistry,
mineralogy, and origin of the major types of crusts.
Particular attention is given to recent research from
Australia, the United States, and Africa.

CALCRETE

TERMINOLOGY

Calcrete was defined by Netterberg (1969, p. 88) as
almost any terrestrial material which has been
cemented and/or replaced by dominantly calcium
carbonate. The mechanism of calcification is not
restricced and may be of pedogenic or non-
pedogenic origin or both. Goudie (1983, p. 94-5)
offered a more comprehensive definition. He de-
fined calcrete as terrestrial materials composed
dominantly, but not exclusively, of calcium carbon-
ate, which occurs in states ranging from powdery to
highly indurated. These materials involve the ce-
mentation of, accumulation in, and/or replacement
of greater or lesser quantities of soil, rock, or
weathered material primarily in the vadose zone.
Goudie recognized some limitations of this defini-
tion, pointing out that not all calcretes are indurated
nor are they necessarily all formed in the vadose
zone.

The term calcrete was introduced into the geomor-
phological literature by Lamplugh (1902) in reference
to lime cemented gravels from Dublin, Ireland. Five
years later Lamplugh (1907) introduced the related
term valley calcretes to refer to calcareous deposits

in the valley of the Zambezi River. In the same year
that Lamplugh introduced the term calcrete, Blake
(1902) used the term caliche in the United States to
refer to carbonate accumulations at or near the
Earth’s surface in Arizona and New Mexico. While
these two terms are the most commonly used in the
English-speaking literature, they are by no means
the only ones. A detailed summary of the various
terms used to refer to terrestrial carbonates is pro-
vided by Goudie (1973). Some of the more common-
ly used terms include nari in Israel (Dan 1977),
kankar in India and croute calcaire in the French
literature (Durand 1963).

Preference is growing for the use of the term
calcrete because of inconsistencies in the use of
terms such as caliche and travertine (Hay and
Reeder 1978, Netterberg and Caiger 1983). In the
United States the term caliche is becoming less
commonly used and is being replaced by the terms
calcrete when referring to indurated terrestrial de-
posits (Machette 1985) and calcified soils in the case
of non-indurated calcic accumulations (Machette
1985). Disfavour with the term caliche has grown as
a result of its misapplication to a variety of surficial
crusts. In addition to being applied to carbonate
deposits, the term has been applied to many
varieties of duricrust (Price 1933). In South America
the term caliche has been applied to accumulations
of sodium nitrate. Hunt and Mabey (1966) used the
term to refer to calcium sulphate cemented gravels
in Death Valley, California. Attempts to re-define
caliche in order to avoid these confusions were made
by Bretz and Horberg (1949) and Brown (1956), who
both stressed restricting the term caliche to cal-
careous deposits that had accumulated in place in
the weathering zone.

In Australia, early geologists referred to the wide-
spread surficial accumulations of carbonate as
travertine (Woolnough 1930, Crocker 1946). In the
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1960s the term travertine was largely replaced by the
term kunkar which is derived from the hindi term
kankar meaning gravel (Goudie 1973, p. 9). The term
kunkar was widely applied to indurated calcareous
masses present within soil profiles (Johns 1963).
Firman (1963, 1964) used the term to refer to limey B
horizons present in many soils of South Australia.
Crawford (1965) used the term for complex calcrete
profiles on Yorke Peninsula in southern South Au-
stralia. In the mid-1960s Firman (1966) proposed that
the term calcrete be adopted.

Throughout the past two decades the term calcrete
has been widely used in the Australian literature on
terrestrial carbonates (Dixon 1978, Hutton and Dixon
1981, Milnes and Hutton 1983, Phillips and Self
1987, Phillips et al. 1987).

DISTRIBUTION

Calcrete covers approximately 13% of the Earth’s
land surface (Yaalon 1981) and occurs in areas where
the annual precipitation is between 400 and 600 mm
(Goudie 1983). Calcrete is widely distributed
throughout Africa, Israel, southern Europe (Goudie
1973, pp. 73-9, 1983), and the semi-arid parts of
India (Patil 1991). In the United States it occurs
widely in the south-western states of New Mexico,
Nevada, Arizona, Texas, and California (Reeves
1976, Machette 1985). It is also found in southern
and central South Australia (Milnes and Hutton
1983), central Western Australia (Mann and Horwitz
1979), and the Northern Territory (Jacobson et al.
1988).

MORPHOLOGY

Macromorphology

Calcrete morphology has been described from many
locations. However, only a few systematic, non-
genetic, systems of calcrete classification have been
developed. Durand (1949) recognized eight different
types of calcrete crust: croute zonaire, encroute-
ment, racine petrifiee, calcaire pulverulent, effloresc-
ences, nodules, vernis desertique, and tufa or
travertine. Today, however, desert varnish and tufa
are not regarded as calcrete types.

In the late 1960s, a non-genetic, evolutionary,
morphological sequence of calcrete types was de-
veloped by Netterberg (1969) for South Africa. Net-
terberg distinguished six fundamental calcrete types.
The least strongly developed calcrete is a calcified
soil which is cemented by carbonate to a firm or stiff
consistency. With progressive calcification the cal-
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Figure 5.1 Nodular and glaebular calcrete, Yorke Peninsu-
la, South Australia.

cified soil becomes a powder calcrete which is
composed of loose carbonate silt or sand particles
with few or no host soil particles or nodules present.
Nodular or glaebular calcrete consists of silt- to
gravel-sized particles of soil material cemented by
carbonate (Fig. 5.1). Included within the nodular
calcrete type are calcified pedotubules and crotovi-
nas. As calcrete nodules increase in size due to the
progressive accumulation of carbonate, they begin to
coalesce to form honeycomb calcrete. In this type of
calcrete the coalesced nodules are separated by host
soil material. When the voids of the honeycomb
calcrete become infilled and cemented with carbon-
ate, hardpan calcrete develops. Hardpan calcretes
are firm to very hard sheet-like masses of calcrete
and represent the most advanced stage of calcrete
development (Fig. 5.2). They commonly overlie less
strongly indurated materials (Fig. 5.3). Hardpan
calcretes are commonly capped with a thin layer of
laminar calcrete (Fig. 5.4). As hardpan calcretes are
weathered and eroded, they break down into round-
ed, subrounded, subangular, and blocky masses
which are referred to as boulder calcrete (Fig. 5.5).
Netterberg’s classification system has been adopted
in modified form by several workers in Australia
(e.g. Hutton and Dixon 1981, Milnes and Hutton
1983, Phillips and Milnes 1988).

In the United States, the most widely used system
of morphological description of pedogenic calcretes
is that of Gile et al. (1965). These authors introduced
the concept of the K horizon to refer to layers of
accumulated carbonate. To qualify as a K horizon a
carbonate layer must consist of more than 90% K
fabric. Such fabric consists of continuous authigenic
carbonate that has engulfed and cemented pebble-,
sand-, and silt-sized grains. Gile et al. (1966) iden-
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Figure 5.2 Hardpan calcrete caprock, High Plains, eastern
New Mexico.

tified a morphological sequence of carbonate accu-
mulation in calcic soils based on the degree of
calcification. They proposed a four-stage sequence
based in part on the nature of the texture of the
parent material (Table 5.1).

Recently, the morphological scheme of Gile et al.
(1966) has been modified by the inclusion of two
additional stages of carbonate development which
more completely describe later phases of carbonate
induration (Bachman and Machette 1977, Machette
1985) (Table 5.2).

Multiple calcrete profiles displaying a variety of
stages of development may be exposed in a single
geological unit (Fig. 5.6). Gustavson and Winkler
(1988) reported the occurrence of multiple calcretes
in the Pleistocene age Ogallala Formation of west
Texas and eastern New Mexico. Holliday (1989)
recorded similar occurrences of multiple calcretes in
the Holocene age Blackwater Draw Formation of
west Texas.

Figure 5.3 Calcrete profile, Murray River valley, South
Australia, showing powder calcrete horizon in lower half of
photo, massive hardpan calcrete with incorporated nodules
in upper half.

Reeves (1976, pp. 42-65) recognized a diversity of
calcrete morphologies largely related to the degree of
induration of the carbonate mass. At the two ex-
tremes of induration he distinguished hard mas-
sive and soft powdery calcrete. Other macromor-
phological forms include breccia, conglomerate, con-
cretions, glaebules (Brewer and Sleeman 1964), hon-
eycomb calcrete, irregular masses of poorly indu-
rated carbonate including cylindrical masses, lami-
nar calcrete, nodules, pisolites, plates, and septaria.
In Australia there is no widely agreed upon descrip-
tive scheme of calcrete morphology. Early workers
including Crocker (1946), Ward (1965, 1966), and
Firman (1966) described field occurrences of calcrete
as sheets, pans, or nodules. One of the earliest
detailed descriptions of calcrete morphology was
that of Crawford (1965) who recognized an upper
unit of nodular calcrete overlying a unit of massive
calcrete which was in turn underlain by a unit of
calcrete nodules embedded in a matrix of marl.



Figure 5.4 Calcrete profile from Murray River valley, South
Australia, showing progressive decrease in the degree of
carbonate induration with depth and development of thin
laminar layer at top of profile.

Similar terminologies had been used by Crocker
(1946) in his brief descriptions of calcretes from
southern South Australia.

Systematic detailed descriptions of the macromor-
phology of calcrete from Australia are relatively
recent. Wetherby and Oades (1975) developed a
scheme for calcrete descriptions based on texture,
the amount and nature of the carbonate, and the
nature of the horizon boundaries. Dixon (1978) and
Hutton and Dixon (1981) adapted Netterberg's (1969)
morphological scheme from South Africa to calcretes
in the Murray River valley and on Yorke Peninsula,
South Australia. Recently, detailed macromorpholo-
gical description of calcretes from the St Vincents
Basin of southern South Australia has been under-
taken (Phillips and Milnes 1988). These workers
identified a wide variety of the calcrete morpholo-
gies, and to some they applied terms previously
used by Netterberg, including carbonate silt,
nodules, hardpan calcrete, and laminar zones. They
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Figure 5.5 Boulder calcrete horizon overlying weakly indu-
rated nodular calcrete horizon, Yorke Peninsula, South
Australia.

recognized a variety of additional morphologies,
including biscuits, pisoliths, coated clasts, wedges,
stringers, and blotches.

Micromorphology

Micromorphological analysis of calcretes has largely
developed within the last decade in an attempt to
come to a more detailed and precise understanding
of calcrete genesis. One of the earliest studies of
calcrete micromorphology was undertaken in India
by Sehgal and Stoops (1972). These workers iden-
tified seven distinct types of carbonate micromor-
phology: (a) microcrystalline interflorescences which
consist of equant grains 2 to 3um in size; (b)
neocalcitons which refer to calcite in the soil matrix
surrounding pores; (c) spongy calcitic nodules com-
prised of irregular, diffuse nodules 100 to 200 wm in
diameter; (d) compact calcitic soil nodules which are
large dense nodules 250 to 500 um in diameter; (e)
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Table 5.1 Stages of the morphogenetic sequence of carbonate deposition in calcic soils®

Stage Diagnostic carbonate morphology
Gravelly soils Non-gravelly soils
I Thin, discontinuous pebble coatings Few filaments or faint coatings
Il Continuous pebble coatings, some interpebble fillings Few to common nodules
I Many interpebble fillings Many nodules and internodular fillings
v Laminar horizon overlying plugged horizon. Increasing carbonate impregnation.

Thickened laminar and plugged horizons

Laminar horizon overlying plugged horizon

*Modified from Gile et al. (1966, p. 348, table 1).

crystal chambers filled with coarse calcite crystals; (f)
needle-shaped calcite efflorescences consisting of
calcite needles less than 50 um in length; and (g)
rounded calcite grains. Working in the West Indies
at the same time, James (1972) recognized three
distinct forms of calcite in calcretes: flower spar,
needles, and micrite.

Wieder and Yaalon (1974) identified three distinct
types of nodules within calcic soils in Israel: orthic,
disorthic, and allothic nodules. This subdivision was
based on the apparent origin of the grains. Orthic
nodules have formed in place and are similar in
appearance to the surrounding matrix; disorthic
nodules show evidence of displacement; and allothic
nodules are relict nodules related to some other soil.

Detailed studies of the micromorphology of cal-
cretes were undertaken in Africa in the late 1970s.

Table 5.2 Stages in the morphogenetic sequence of carbon-
ate deposition used in this report®

Stage Diagnostic carbonate morphology

I Filaments or faint coatings. Thin, discontinuous
coatings on lower surface of pebbles

1T Firm carbonate nodules few to common but
isolated from one another. Matrix may include
friable interstitial accumulations of carbonate.
Pebble coatings continuous

111 Coalesced nodules in disseminated carbonate
matrix

v Platy, massive indurated matrix. Relict nodules

may be visible in places. Plugged. May have
weak incipient laminae in upper surface. Case
hardening common on vertical exposures

\% Platy to tabular, dense and firmly cemented.
Well-developed laminar layer on upper surface.
May have scattered incipient pisoliths in laminar
zone. Case hardening common

VI Massive, multilaminar and brecciated, with
pisoliths common. Case hardening common

?From Bachman and Machette (1977, p. 40, tables 2 and 3).

Hay and Reeder (1978) described calcretes from
Olduvai gorge in Tanzania, providing detailed mic-
romorphological descriptions of laminar calcrete as
well as of pisoliths above the laminar zone. N.A.
Watts (1978, 1980) working in the Kalahari desert
provided detailed micromorphological descriptions
of calcrete and associated diagenetic structures.
Bachman and Machette (1977) described a diversity
of micromorphological features from wcalcretes of the

Figure 5.6 Multiple, buried calcrete profiles developed in
the Ogalalla Formation, High Plains, west Texas.



south-western United States, including micrite, mic-
rosparite, ooids, and pisoliths.

In the early 1980s attention shifted to detailed
examination of the micromorphology of the various
concentric forms of calcrete. Hay and Wiggins
(1980), working on calcretes from a number of
locations in the south-western United States, recog-
nized three fundamental concentric forms of cal-
crete: pellets, ooids, and pisoliths. They disting-
uished among these forms on the basis of their
internal structure and size. Similarly, Shafetz and
Butler (1980) described the micromorphology of
calcrete nodules and pisoliths from central Texas. A
variety of other micromorphological forms have
been recognized from the calcretes of central Texas,
including calcans, neocalcans, needle efflorescences,
concretions, crystal chambers, and intercalary crys-
tals (Rabenhorst et al. 1984, Drees and Wilding 1987,
West et al. 1988).

Several workers have identified micromorpho-
logical features which have been interpreted to be
the result of biological activity. Early work by James
(1972) identified tubular structures in calcretes which
he attributed to algal activity. Kahle (1977) suggested
that calcretes might be formed by the combined
influences of algae and fungi, while Knox (1977)
suggested that bacteria also play an important role in
calcrete formation. In a series of papers, Klappa
(1978, 1979a, b) recognized a wide variety of micro-
morphological structures which he ascribed to
biological activity. Klappa (1979a) recognized micro-
borings, algal filaments, fungal hyphae, calcite
spherules, spherical structures, and deci-micron cal-
cite grains arranged in thin parallel layers in laminar
calcrete from coastal Mediterranean sites and sug-
gested that they were indicative of lichen stromato-
lites. Klappa (1979b), in a detailed discussion of
calcified filamentous structures, including root hairs,
algal filaments, Actinomycete, and fungal hyphae in
calcretes from the Mediterranean, suggested that
these features were indicative of organic templates
for subsequent calcrete formation.

Recent detailed studies of the micromorphological
characteristics of calcretes from South Australia re-
veal the widespread occurrence of needle fibre
calcite and calcified filaments in voids within pow-
der, nodular, platy, and hardpan calcrete (Phillips
and Self 1987, Phillips et al. 1987). These workers
have interpreted the needle fibre calcite as having
two distinct biological origins, depending on the size
of the needles. Micro-rods frequently associated
with organic matter are interpreted as being calcified
rod-shaped bacteria. The larger needles are inter-
preted as forming within mycelial strands from
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which they are later released. The calcified filaments
are interpreted to be the remains of fungal hyphae.

CHEMISTRY

Based on some 300 chemical analyses of calcrete
from around the world, Goudie (1972) found the
average composition of calcretes to consist of 79.28%
CaCO3, 12.30% SiOZ, 2.12% A1203, 2.03% FEZO3,
3.05% MgO, and 42.62% CaO. There is, however,
considerable variability in the chemistry of calcretes
from one location to another. For example, Goudie
(1973) pointed out that calcretes from India are on
average less calcareous than the global average and
that Australian calcretes are considerably more cal-
careous. Calcretes particularly abundant in magne-
sium have been reported from South Africa, Nami-
bia, and Australia (Goudie 1973).

Aristarain (1970), working in the United States,
cited numerous chemical analyses of calcretes from
Oklahoma and New Mexico. These analyses reveal
North American calcretes to be chemically different
from the global average. Compilation of Aristarain’s
data, based on 22 analyses, reveals on average
34.93% CaO, 30.68% SiO,, 1.81% MgO, 1.88 Al,O;,
and 1.00% Fe,O3. He observed that calcium, carbon,
oxygen, and hydrogen were added to the upper
parts of the calcrete profile and decreased in abund-
ance downward.

Magnesium, sulphur, and ferric iron were added
in decreasing amounts from top to bottom of the
profiles. Silicon and titanium increase slightly in the
upper part of the profiles but appreciably in the
middle. Potassium and phosphorus remain constant
down the profiles. There are no clear profile trends
in sodium and ferrous iron.

Chemical characteristics of calcretes from Nevada
were reported by Gardner (1972). Unfortunately,
these data were presented in parts per million
concentrations and so are not comparable with other
available data. More recently, a comprehensive sur-
vey of the major and minor element geochemistry of
calcretes from the south-western United States has
been presented by Bachman and Machette (1977).

Detailed chemical analyses of calcretes have been
undertaken in Australia by numerous workers. Re-
sults of these investigations are summarized in a
comprehensive discussion of Australian calcretes by
Milnes and Hutton (1983). Recent investigations of
the chemistry of calcretes in Australia have been
undertaken by Dixon in the St Vincents Basin of
South Australia which add to earlier work from the
Murray Basin and Yorke Peninsula, South Australia
(Dixon 1978, Hutton and Dixon 1981). Typical
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Table 5.3 Major element bulk chemistry of calcretes from the Murray Basin, South Australia

Location Description CaO  Si0O, MgO ALO; Fe,O; TiO, K,O P,0s Loss on  Total
ignition
Taleim Bend Massive 40.4 9.4 6.8 1.2 0.6 0.08 0.22 0.04 41.3 100.04
Massive 35.8 18.7 7.0 21 0.9 0.17 040 0.04 36.4 101.51
Massive 29.0 32.2 5.0 2.7 1.0 0.21 0.84 0.05 29.3  100.59
Massive 40.9 15.7 3.8 2.0 0.9 0.20 0.67 0.07 37.3  101.62
Massive 28.8 17.7 13.2 2.1 0.8 0.16 058 0.04 37.5 101.01
Nodular 319 203 9.1 2.0 0.8 020 056 0.04 35.5  100.49
Nodular 33.2 134 124 1.5 0.8 0.15 0.40 0.05 39.7 101.75
Nodular 36.1 23.6 3.6 2.2 0.7 0.17 050 0.05 33.8 101.15
Powder 228 30.5 8.5 2.7 1.3 0.20 0.31 0.04 32.8 99.15
Monteith (A) Massive 33.9 26.4 3.4 1.9 0.7 0.14 0.46  0.05 33.0 99.96
Massive 36.5 20.7 4.2 1.9 0.7 0.13 046 0.07 35.4 100.10
Massive 363 27.3 2.5 1.6 1.3 0.20 0.54  0.08 31.1 101.03
Massive 37.9 14.8 9.3 14 0.7 0.13 0.28 0.04 38.7 103.34
Nodular 33.5 24.0 5.8 2.1 0.9 0.18 0.56  0.05 33.5 100.70
Nodular 312 243 8.0 2.4 0.9 0.19 0.54 0.04 33.4 101.10
Powder 126 380 204 4.1 1.5 0.31 0.61 0.02 23.4 101.00
Monteith (B) Massive 39.4 17.8 4.6 1.3 1.2 0.12 0.54 0.08 36.2 101.45
Massive 35.7 243 4.3 1.8 0.8 0.15 049 0.04 33.7 101.44
Nodular 34.2 10.8 133 1.3 0.6 0.12 041 0.04 41.1  102.00
Murray Bridge Massive 38.1 10.4 9.6 1.4 0.6 0.93 0.35 0.04 40.5 101.20
Nodular 40.0 12.3 7.0 1.7 0.8 0.14 041 0.05 39.2  101.44
Black Hill Massive 37.6 17.0 4.1 2.7 1.3 022 035 0.08 36.7 99.60
Massive 37.3 16.8 4.1 2.7 1.3 022 026 0.07 36.4 99.70
Table 5.4 Major element bulk chemistry of calcretes from Yorke Peninsula, South Australia
Location Description CaO S0, MgO AlLO; Fe,O; TiO, KO P,Os Loss on  Total
ignition
Yorktown Massive 40.4 15.1 3.0 2.7 1.1 0.14 0.83 0.06 36.8 100.1
Nodular 40.3 16.0 31 3.1 1.1 0.16 0.75 0.08 36.8 101.5
Melton Massive 51.1 4.4 1.1 1.0 0.4 0.06 0.51 0.12 43.2 101.9
Massive 53.0 2.5 1.1 0.7 0.3 0.04 0.19 0.07 43.3 101.2
Powder 22.8 30.5 8.5 2.7 1.3 0.20 0.31 0.04 32.8 99.2
Port Vincent Massive 31.5 323 2.4 1.7 0.8 0.09 0.42 0.11 32.8 99.1
Nodular 314 33.2 2.5 2.2 0.9 0.11 0.35 0.13 29.8 100.6
Moonta Bay Massive 39.3 209 2.1 2.3 0.8 0.13 0.44 0.08 35.0 101.1
Nodular 273  36.0 5.0 1.2 0.5 0.06 0.40 0.07 29.2 99.7
Port Julia Massive 42.8 11.5 3.6 1.5 0.5 0.07 0.35 0.05 40.1 100.5
Nodular 43.5 12.8 2.0 2.0 0.7 0.10 0.47 0.10 39.3 101.0
Wool Bay Massive 42.0 14.8 3.5 2.4 0.9 0.12 032 0.08 38.4 102.5
Nodular 49 8.8 4.8 1.9 0.7 0.07 0.34 0.07 41.5 103.1

chemical analyses of calcretes from numerous sites
in southern South Australia are presented in Tables
5.3and 5.4.

Considerable variability in chemistry occurs in
South Australian calcretes. Dixon (1978) and Hutton
and Dixon (1981) found that this variability is related
to both calcrete morphology and to profile position.

Dixon (1978) showed that as the degree of indura-
tion of calcretes increases, so does their chemical
purity, with hardpan calcretes being the most cal-
careous and powder calcretes the least (Tables 5.3
and 5.4). Hutton and Dixon (1981) found that there is
a systematic decrease in CaO and an accompanying
increase in MgO in calcretes with increasing depth.



This trend was explained in terms of depth of
leaching and associated degree of replacement of
host materials by carbonate.

Dixon has examined the role of topography in
accounting for spatial variations in calcrete chemis-
try. He examined six calcrete profiles down a
toposequence in the St Vincents Basin and found
that there was a systematic decrease in calcium from
top to bottom of the toposequence and an accom-
panying increase in magnesium, as well as systema-
tic decreases in calcium with depth (Table 5.5).

At a larger spatial scale, Milnes and Hutton (1983)
recognized two distinct geochemical provinces of
calcrete formation. The first province is associated
with Pleistocene beach complexes and aeolianites
and was given the name Bridgewater Formation
province. The second province is a largely non-
calcareous continental province in which calcretes
are associated with a diversity of bedrock types. It
was named the Continental province. In the
Bridgewater Formation province the chemistry of the
calcretes is very similar to that of the calcareous
parent materials. The chemistry of calcretes from the
Continental province, on the other hand, is highly
variable. Hutton et al. (1977) suggested that calcrete
developed on norite (hypersthene gabbro) in the
Murray Basin at Black Hill was in part derived from
the weathering of this rock. Dixon (1978) also
showed that calcrete chemistry varied markedly
depending on the underlying lithology. Hutton and
Dixon (1981) established that the chemistry of the
insoluble residue strongly reflected the chemistry of
the underlying bedrock. Detailed discussion of the
calcrete chemistry from each of the two provinces is
provided by Milnes and Hutton (1983).

Recently, attention has been given to the uranium
content of calcretes. Groundwater calcretes in par-
ticular have been the source of economic abund-
ances of uranium minerals. Uranium-rich calcretes
have been reported from Western Australia by Butt
et al. (1977) and Carlisle (1983). Goudie (1983) also
recorded uranium in calcretes from the Namib,
Angola, Mauritania, and Somalia.

Chemical studies of calcrete in recent years have
been focused on the isotopic compositions of these
materials. These studies have been ultimately in-
terested in determining the source of the carbon and
thereby ascertaining the origin of the -calcretes.
Attention has been given to the stable isotopes of
both carbon and oxygen. Salomons et al. (1978)
conducted extensive isotopic analyses of calcretes
from Europe, Africa, and India. These workers
found that despite a considerable spread in isotopic
values for both carbon and oxygen, there was, in
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general, good agreement between values in calcrete
and prevailing precipitation. From this observation
they concluded that evaporation was not a signi-
ficant factor in calcrete formation. Nor did they find
any systematic difference in isotopic content with
depth. Isotopic studies of calcretes in Africa have
also been undertaken by Cerling and Hay (1986),
who found that calcretes in Olduvai Gorge display
progressive increases in 0 and C isotopes with
time. From these data the researchers concluded that
there had been a progressive drying of the climate
and an accompanying increase in C,4 grasses.

Isotopic studies of calcretes in the United States
are relatively limited. However, Gardner (1972) con-
ducted an extensive analysis of the isotopic chemis-
try of calcretes from Nevada and New Mexico. More
recently Amundson et al. (1988) examined the iso-
topic chemistry of calcic soils from the Mojave
Desert. Following on from that study, Amundson et
al. (1989) report on oxygen and carbon isotopes in
calcretes from Kyle Canyon in the Mojave Desert.
Amundson et al. concluded that the isotopic com-
position of the calcretes is consistent with the
prevailing climatic regime. These workers also deter-
mined the ages of calcrete lamelli using **C composi-
tion, but were unsure of the reliability of their dates
due to possibility of contamination.

Early isotopic work on calcretes from Australia
focused on C concentrations in an attempt to
determine the age of the calcretes (Williams and
Polach 1969, 1971, Bowler and Polach 1971). These
same workers also examined '’C/**C ratios in an
attempt to come to some understanding of the origin
of the carbonate in the calcrete. More recently
Milnes and Hutton (1983) have examined the !3C
content of calcretes from a variety of locations in
southern South Australia. The significance of these
data with respect to calcrete genesis is still poorly
understood.

MINERALOGY

The carbonate mineralogy of calcretes is dominated
by calcite and dolomite, while the non-carbonate
mineral fraction consists of quartz, opal, feldspars,
and clay minerals (e.g. Goudie 1973, pp. 25-6,
Reeves 1976, pp. 2541, Milnes and Hutton 1983).
The calcite is generally low-Mg calcite, though
Watts (1980) reported high-Mg calcite from calcretes
in southern Africa. Aragonite is also occasionally
found in calcretes (Watts 1980, Milnes and Hutton
1983). Minor non-carbonate minerals in calcretes
include iron sulphide and glauconite (Goudie 1972,
1973). Gypsum has also been reported widely in
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Table 5.5 Major element bulk chemistry of calcretes from St Vincents Basin, South Australia (normalized to 100%)

Location Description Depth CaO SiO, MgO ALO; Fe,0O5 TiO, K,O P,Os Losson
(cm) ignition

Onkaparinga R. Massive 10 3650 1750 158 450 203 018 1.05 005 36.61
Massive 30 37.76 17.30 192 4.06 187 019 094 0.05 3591

Powder 35 3097 2671 196 4.78 234 027 117 0.04 31.76

Powder 55 30.13 26.68 245 449 236 026 1.14 0.03 32.46

Powder 95 25.87 27.15 6.10 4.12 2.12 0.24 1.07 0.03 33.30

Powder 125 28.03 2365 730 340 1.8 019 0.84 0.02 34.73

Powder 160 26.20 21.73 9.20 3.17 1.71 0.18 0.79 0.02 37.00

Powder 185 24.86 22.86 1020 3.63 1.87 020 090 0.01 35.67

Powder 215 2298 2229 1140 443 210 021 091 0.01 35.67

Onkaparinga Massive 10 36.50 20.76 129 294 1.62 0.15 0.67 0.04 36.03
Trig Massive 30 30.72 27.75 158 372 198 020 090 0.02 33.13
A Powder 35 28.61 3257 176 4.06 213 023 098 0.03 29.63
Powder 60 26.02 3534 366 429 233 024 1.08 021 26.83

Powder 85 23.17 3268 640 362 192 020 086 0.02 31.13

Powder 125 2342 3549 6.10 3.79 1.95 0.20 0.94 0.03 28.08

Powder 150 20.57 3250 980 343 192 019 085 0.01 30.73

Powder 180 20.51 33.01 950 334 194 019 083 0.01 30.67

Powder 210 18.09 38.11 830 415 225 023 098 0.02 27.87

Onkaparinga Massive 30 3571 22.89 1.8 3.13 1.63 017 0.71 0.03 53.85
Trig Powder 40 29.13 31.28 272 357 187 020 0.84 0.02 30.37
B Powder 85 2286 30.45 850 3.40 1.72 019 084 0.01 32.03
Powder 110 20.88 30.52 1090 334 1.8 019 0.84 0.01 31.47

Wedge 150 25.77 1450 1650 1.64 1.03 0.07 039 0.01 40.15

Onkaparinga Massive 30 3522 25.09 204 3.25 1.80 0.18 0.79 0.03 31.60
Trig Powder 35 30.07 29.68 3.78 364 1.8 020 093 0.02 29.82
C Powder 60 28.74 3145 639 413 207 023 1.03 0.02 2894
Powder 100 23.71 30.64 822 379 203 021 097 0.02 30.41

Powder 130 21.78 3180 9.16 4.02 205 023 1.00 001 29.94

Wedge 170 27.67 1454 1420 219 117 013 050 0.01 29.59

Wedge 170 25.56 18.28 14.00 2.54 1.29 0.15 0.60 0.01 37.57

Powder 175 23,51 2539 11.10 348 182 0.19 0.86 0.01 33.64

Wedge 220 27.68 1291 14.60 2.35 1.23 0.13 0.46 0.01 40.63

Powder 220 19.23 3498 7.80 546 268 028 1.11 001 2845

Lonsdale A Weak Massive 10 20.25 4349 6.29 252 1.71 0.15 0.51 0.01 25.07
Massive 30 19.36 4427 641 272 186 014 054 001 24.69

Massive 30 1358 5181 696 338 227 019 066 0.01 21.14

Massive 70 16.09 4965 645 296 214 018 059 0.02 21.92

Massive 80 16.75 4965 645 300 1.8 014 052 0.01 21.60

Massive 90 13.22 51.16 8.08 312 206 0.16 0.62 0.01 2157

Massive 100 10.13 5714 690 337 234 023 066 0.01 19.22

Massive 110 968 63.12 468 351 250 019 0.70 0.01 15.61

Wedge - 21.83 33.84 1030 147 137 0.07 030 0.01 30.81

Wedge - 16.00 4430 1026 195 165 011 041 0.01 2531

Lonsdale B Massive 30 25.74 4198 140 316 207 019 061 004 24381
Powder 50 2742 3938 155 3.02 1.8 020 057 0.04 2599

Weak Massive 70 25.62 39.64 291 3.12 1.90 0.18 0.54 0.03 26.06

Weak Massive 90 18.12 50.36 293 431 248 025 073 0.02 20.80

Massive 110 16.56 53.48 3.05 3.94 2.49 0.23 0.70 0.02 19.53

Massive 130 13.13 5766 395 390 247 022 071 0.02 17.94

Massive 150 11.76 59.77 4.84 372 247 022 068 0.01 16.53

Lonsdale C Coated Clast 27.03 4252 094 215 179 020 040 0.03 24.94
Massive 30 20.71 51.28 1.08 243 1.8 023 043 0.03 2198

Massive 50 2481 4363 174 216 18 0.17 031 0.03 2524

Massive 70 26.31 37.60 3.05 2.33 1.77 0.16 0.40 0.02 28.36

Massive 90 2586 36.59 4.00 245 1.74 016 041 0.11 28.78
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Location Description Depth  CaO  SiO, MgO ALOs; Fe,O3 TiO, K,O P,0Os Loss on
(cm) ignition

Lonsdale D Nodule 10 2581 4403 094 279 205 022 050 0.03 23.63
Strong Massive 30 26.39 43.78 097 251 1.80 0.18 0.45 0.02 23.90

Massive 50 21.27 50.75 0.99 346 229 023 058 0.03 20.40

Massive 70 23.84 4387 145 360 224 024 055 0.02 24.19

Massive 90 20.73 5276 110 239 1.8 024 041 0.02 20.50

Weak Massive 110 17.23 5954 093 262 223 024 054 0.02 16.60

Massive 130 10.88 68.10 1.19 394 271 030 071 0.02 12.15

Massive 140 14.82 6143 092 359 262 028 0.64 0.01 15.69

Lonsdale E Nodule 10 27.33 4148 101 272 193 020 050 0.03 24.80
Weakly Massive 30 17.72 5870 0.8 295 210 025 057 0.03 16.80

Massive 50 2066 52.06 146 311 212 022 055 0.02 19.80

Massive 70 21.34 5044 164 302 213 025 051 0.02 20.65

Massive 90 2822 34.01 266 303 18 0.14 0.46 0.01 29.61

Massive 110 19.89 55.00 269 3.04 1.8 0.15 046 0.01 16.87

Massive 130 1518 6292 180 218 1.8 021 0.41 0.01 15.43

Massive 150 1390 63.02 225 248 204 024 048 0.01 15.43

Massive 170 2229 50.67 140 206 166 019 039 0.02 21.32

Massive 180 1037 69.59 243 275 223 026 055 0.01 11.78

calcretes (Reeves and Suggs 1964, Aristarain 1971,
Goudie 1973). Haematite, grossularite, magnetite,
muscovite, rutile, tourmaline, and zircon have all
been reported from calcretes in New Mexico by
Aristarain (1971).

Mineralogical studies have focused primarily on
the clay mineral fraction and have been largely
concerned with the origin of the clays and the light
they may throw on calcrete genesis. Clay mineral
assemblages in calcretes appear to be characterized
by a relatively small number of mineral species. In
the United States, the dominant clay minerals
appear to be palygorskite and sepiolite, and there
are smaller abundances of illite, kaolinite, mont-
morillonite, interlayered illite—-montmorillonite, and
chlorite (Van den Heuvel 1966, Gile 1967, Aristarain
1970, 1971, Gardner 1972, Frye et al. 1974, Reeves
1976, pp. 37-9, Bachman and Machette 1977, Hay
and Wiggins 1980). Many authors have ascribed the
origin of the palygorskite and sepiolite to the altera-
tion of montmorillonite and interlayered mont-
morillonite—illite. Hay and Wiggins (1980) believed
that the sepiolite in calcretes from various locations
in the south-western United States is neo-formation-
al in origin. However, they argued for the formation
of palygorskite from montmorillonite.

In Australia, the dominant clay minerals in cal-
cretes are illite, kaolinite, and interstratified minerals
(Milnes and Hutton 1983, Phillips and Milnes 1988).

However, Dixon (1978) and Hutton and Dixon (1981)
found that palygorskite and sepiolite are the domi-
nant clay minerals in calcretes in selected areas of
the Murray Basin of southern South Australia. These
authors ascribed the origin of these minerals to
neo-formation in an environment abundant in Mg,
specifically a favourable underlying lithology that
provides the necessary cations upon weathering.
Clay mineralogy of calcretes appears to be strongly
related to the provenance of the calcrete. Calcretes in
the Bridgewater Formation province appear to be
dominated by illite, kaolinite, and interlayered clays.
In the Continental province the clay mineralogy is
more diverse and includes sepiolite and palygors-

kite.
Recent clay mineralogical investigations of cal-

cretes from Africa (Watts 1980) reveal mineral
assemblages similar to those from the United States
and Australia. Watts (1980) found that the calcretes
from the Kalahari Desert were dominated by paly-
gorskite and sepiolite. These clay minerals were
interpreted to be primarily neo-formational in origin.
However, Watts suggested that some of the paly-
gorskite may be derived from the alteration of
montmorillonite. The remainder of the clay mineral
assemblage consists of illite, montmorillonite, mixed
layer illite-montmorillonite, kaolinite, chlorite, and
glauconite. Watts (1980) interpreted the minor clay
mineral species present in the calcretes to be pre-
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dominantly detrital. The mixed layer clays, however,
appear to be weathering products derived from illite.

Detailed studies of dolomite in calcretes have
recently been undertaken in both Australia and
Africa (Dixon 1978, Watts 1980, Hutton and Dixon
1981, Phillips and Milnes 1988). Dixon (1978) and
Hutton and Dixon (1981) identified abundant
amounts of dolomite in calcretes from the southern
Murray Basin and Yorke Peninsula, South Australia.
Dolomite abundances were greatest in the fine
carbonate silt at the base of the calcrete profile and
decreased progressively upward in the profiles as
the degree of induration increased. Similar dolomite
trends have been reported from calcrete profiles in
the St Vincents Basin of southern South Australia
(Phillips and Milnes 1988). These authors pointed
out that dolomite abundances are greatest in wedges
and blotches developed in the calcretes. In southern
Africa, Watts (1980) reported generally similar trends
with respect to the distribution of dolomite within
the profiles. Dolomite is intimately associated with
palygorskite and sepiolite in calcretes from both of
these continents. Dolomite appears to be closely
associated with the less indurated varieties of cal-
crete.

Dixon has examined in detail the distribution of
dolomite and calcite in calcrete profiles from the St
Vincents Basin in South Australia. He conducted a
study down a single hillslope developed on weakly
indurated calcrete and found that there was a
systematic decrease in calcite and an accompanying
increase in dolomite. The calcrete profile at the top
of the catena is characterized by a complete lack of
dolomite through its entire thickness. The profile at
the base of the catena contains only dolomite with a
complete absence of calcite. The greater solubility of
MgCO; compared with CaCOj; accompanied by
lateral transportation of Mg-rich waters may be
responsible for this trend.

Quartz is often the dominant non-carbonate
mineral in both bulk samples and clay size fractions
of the calcretes (Reeves 1976, p. 30, Milnes and
Hutton 1983, Phillips and Milnes 1988). Silica also
occurs in various other forms, including opal and
chalcedony. Opal has been widely reported from
calcretes in west Texas (Reeves 1976, p. 28) as well
as from the south-western United States (Hay and
Wiggins 1980). Watts reports the occurrence of opal
in calcretes from southern Africa along with both
length-slow and length-fast chalcedony. Much of the
silica in calcretes occurs as cement. However, in
some cases quartz is a replacement mineral of
calcite.

ORIGIN

Calcretes may be pedogenic or non-pedogenic in
origin. However, most areally extensive calcretes
appear to form in the soil environment. The specific
processes responsible for calcrete formation in the
soil environment are variable. Goudie (1973, pp.
1414, 1983) suggested several models for the forma-
tion of pedogenic calcretes. These include the con-
centration of carbonate by downward translocation
in percolating soil waters, the concentration of
carbonate by capillary rise waters, in situ case
hardening by carbonate, and cementation of calcrete
detritus. Of these models, the accumulation of
carbonate in soils as a result of vertical translocation
is the most widely accepted. Precipitation of the
carbonate results from a variety of processes. Schle-
singer (1985), working in the Mojave Desert, sug-
gests that carbonate precipitation results from eva-
poration, increases in pH, and decreases in CO,
partial pressure. Other mechanisms of carbonate
precipitation include increases in temperature and
accompanying loss of CO, (Barnes 1965), the com-
mon ion effect (Wigley 1973), and evaporation
(Watts 1980, Watson 1989). Biological processes have
also been shown to be important in calcite precipita-
tion. Several authors have clearly established the
significance of micro-organisms in calcrete formation
(e.g. Klappa 1978, 1979a, b, Phillips and Self 1987,
Phillips et al. 1987). In addition, the formation of
calcrete around plant roots has been widely
documented (Gill 1975, Klappa 1979a, b, Semeniuk
and Meagher 1981, Warren 1983, Semeniuk and
Searle 1985).

Central to the question of the origin of calcretes
has been the origin of the calcium carbonate con-
tained within them. In the United States there has
been a long history of appealing to atmospheric
sources for the carbonate. As early as 1956, Brown
(1956) suggested that all of the carbonate necessary
for the formation of calcretes could be derived from
atmospheric dust and calcium dissolved in rainwa-
ter. Similar arguments have been presented by
subsequent workers including Gile (1967), Ruhe
(1967), Reeves (1970), Bachman and Machette (1977),
Machette (1985), and McFadden and Tinsley (1985).
Gardner (1972) provided quantitative support to the
notion of an aeolian origin for the carbonate by
showing that extreme thicknesses of overlying sedi-
ments would have to be weathered and leached in
order to account for the thick calcrete caprocks in
Nevada. Similar conclusions had earlier been
reached by several authors who had shown that
there was little evidence for significant depletion of



calcium from sediments overlying calcrete horizons
(Gile et al. 1966, Van den Heuvel 1966, Aristarain
1970, McFadden 1982).

In southern Australia, the carbonate mantle is also
widely interpreted to be aeolian in origin. Early
workers (Crocker 1946) interpreted the mantle to
have been derived from the winnowing of the finer
size fraction from coastal dune deposits. Recent
studies by Milnes and Hutton (1983), Milnes et al
(1987) and Phillips and Milnes (1988) essentially
concur but point out that the original sediments
have been considerably modified since deposition
and may also contain some inclusions of sediments
from non-aeolian sources. Hutton and Dixon (1981)

suggested that some of the carbonate, especially that .

in continental settings, was lacustrine in origin and
had been modified in place by pedogenic processes.
In situ formation of calcretes has occurred within
calcareous coastal dunes and sand sheets on Yorke
Peninsula (Dixon 1978, Hutton and Dixon 1981) as
well as in similar deposits in Western Australia
(Arakel 1985). In both locations cementation of host
materials by percolating vadose waters is responsible
for calcrete development.

Non-pedogenic calcretes have also long been rec-
ognized. As mentioned earlier, at approximately the
same time that Lamplugh introduced the term cal-
crete he specifically recognized the existence of
calcretes in association with river valleys. Consider-
able research in central and Western Australia has
focused on the association of calcrete with present
and palaeo-drainage ways. Much of this research
has been undertaken in association with uranium
exploration (e.g. Mann and Horwitz 1979, Arakel
and McConchie 1982, Arakel 1986, Jacobson et al.
1988). In these calcretes the calcium carbonate is
derived from groundwater sources and is subse-
quently precipitated in drainage channels as a result
of low-precipitation and high-evaporation climatic
regimes.

SILCRETE

TERMINOLOGY

The term silcrete was introduced into the geomor-
phological literature at the same time as calcrete.
Lamplugh (1902) originally used the term to refer to
silicified sandstones and conglomerates and later
(Lamplugh 1907) to indurated sandstones and quart-
zites cemented by chalcedony occurring in the Zam-
besi River basin. Today, silcrete is widely defined as
a surface or near-surface deposit of saprolite, sedi-
ment, or soil that has been cemented by secondary
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Figure 5.7 Breakaway capped with silcrete and associated
weathered pallid zone, northern New South Wales, Au-
stralia (photo courtesy of S.H. Watts).

silica (Milnes and Twidale 1983). Silicification has
occurred at low temperatures and is not a product of
volcanism, plutonism, metamorphism, or deep dia-
genesis (Summerfield 1983a).

Early work on silcretes linked them genetically to
the deep weathering profile which frequently occurs
beneath many massive silcrete caprocks (Woolnough
1930, Wopfner 1978) (Fig. 5.7). Silcrete in Australia
and Africa has also commonly been related to
surfaces of low relief (Woolnough 1927, Langford-
Smith and Dury 1965, Wopfner and Twidale 1967,
Twidale et al. 1970).

DISTRIBUTION

Silcretes are most widely distributed in Australia and
southern Africa but have also been reported from a
variety of other locations. In Africa they have been
reported from such diverse areas as the Sahara and
its margins, the Congo Basin, Zambesi Basin, Bots-
wana, Namibia, South Africa, and some areas of east
Africa (Summerfield 1982, Watson 1989).

In Australia, silcretes have been reported from the
states of Queensland (e.g. Gunn and Galloway 1978,
Senior 1978, van Dijk and Beckman 1978), New
South Wales (Dury 1966, S.H. Watts 1978b, Taylor
1978), and South Australia (Hutton et al. 1972, 1978,
Wopfner 1978, 1983, Milnes and Twidale 1983,
Milnes et al. 1991), and Western Australia (Butt 1983,
1985).

Silcrete has not been widely reported from the
United States. However, silicification of calcrete has
been recognized in Texas (Price 1933, Reeves 1970,
1976, pp. 26-32). Where silicification of calcrete has
been virtually complete, these deposits might be
appropriately referred to as silcretes.
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MORPHOLOGY

Macromorphology

Macroscopically, silcrete displays a diversity of
forms. In a detailed study of the silcretes of western
New South Wales, S.H. Watts (1978b) described a
wide variety of silcrete morphologies both at the
landform scale as well as at the outcrop scale. Watts
recorded the common occurrence of massive, colum-
nar jointed silcretes capping upland surfaces (Fig.
5.8). Individual columns often extend the complete
thickness of the silcrete outcrop. Individual columns
may be up to 5m thick with widths of 2m. In
outcrop, silcrete surfaces frequently display concen-
tric ring patterns, ropy surfaces, and nodular to
concretionary weathering forms. Watts also de-
scribed piping silcrete and accompanying rounded,
lobe-like ridges and rings.

In a study of silcrete in northern South Australia
(Wopfner 1978) observed a similar diverse assemb-
lage of macroscopic forms. He recognized polygonal
prismatic or columnar silcrete as the most common
morphological type. The columns or prisms are
commonly 50 to 120 cm high with diameters of 25 to
80 cm. The columns are frequently draped with a
thin skin of silica. Often associated with columnar
silcrete is platy silcrete which occurs as large slabs
from 8 to 15cm thick. In detail, platy silcretes are
either massive or pseudopebbly. Wopfner identified
two other principal macromorphological types. Bot-
ryoidal silcrete is characteristically rough and jagged
and occurs in thick profiles, whereas pillowy silcrete
resembles the surface of lava. Like S.H. Watts
(1978b), Wopfner described pipe silcrete as common-
ly occurring within outcroppings of botryoidal sil-

Figure 5.8 Silcrete outcrop, showing typical columnar
structure, Mount Stuart Station, New South Wales, Austra-
lia (photo courtesy of S.H. Watts).

crete. On the basis of Wopfner's (1978) observations
of silcrete macromorphology, Watts developed a
comprehensive classification of silcretes. In addition
to macroscopic characteristics, the classification in-
cludes microscopic parameters. The classification is
based on the characteristics of the silcrete matrix
mineralogy, macroscopic texture, host rock texture,
and profile thickness and type.

A recent comprehensive summary of the macro-
scopic characteristics of silcretes in central Australia
was provided by Milnes and Twidale (1983). These
workers recognized a variety of silcrete types occur-
ring on mesa surfaces, including columnar, massive,
bedded, and conglomeratic or nodular silcrete. Sil-
crete outcrop surfaces commonly display ropy,
whorled, and custard-like forms as well as liesegang
ring-like structures. Pipe-like structures are wide-
spread, as are silcrete skins on bedrock outcrops
(Twidale et al. 1970, Hutton et al. 1972).

Micromorphology

Microscopically, silcretes reflect characteristics of
both the host material and the silicification process
(S.H. Watts 1978a, Summerfield 1983b, Milnes et al.
1991). Primary characteristics of silcretes usually
relate to such features as grain size, grain shape,
mineralogy, and grain fabric. Secondary characteris-
tics include cryptocrystalline and microcrystalline
silcrete matrices, extensive embayment of quartz
grains (Fig. 5.9), grain pitting and replacement by
secondary silica, and textural modification of sedi-
ments from a grain-supported to a floating matrix
texture (Watts 1978a). Summerfield (1982, 1983a)
discussed a variety of secondary micromorphological

Figure 5.9 Photomicrograph of silcrete, showing solutional
embayments of original detrital quartz (photo courtesy of
S.H. Watts). Field of view is 1.8 mm.



Figure 5.10 Photomicrograph of silcrete from west Texas,
showing floating (F) fabric with quartz grains separated by
finer matrix materials. Field of view is 1.1 mm.

features developed in silcretes from southern Africa.
Detailed studies of the micromorphology of silcretes
in Australia have been undertaken by Hutton et al.
(1972), Milnes and Hutton (1974), Hutton et al.
(1978), and Milnes and Twidale (1983).

A number of classification schemes based on
micromorphological features have been developed,
including those of Smale (1973), S.H. Watts (1978a),
and Wopfner (1978, 1983). Perhaps the most com-
prehensive of these is that developed by Sum-
merfield (1982, 1983a). He recognized four major
fabric types with associated subtypes. The principal
fabric types are GS (grain-supported) fabric, F (float-
ing) fabric, M (matrix) fabric, and C (conglomeratic)
fabric. Grain-supported fabrics are those in which
skeletal grains of the silcrete are self-supporting.
Skeletal grains may display overgrowths of chalce-
dony or microquartz. The matrix of grain-supported
silcrete fabrics is commonly characterized by micro-
quartz and cryptocrystalline and opaline silica. Float-
ing fabrics are those in which the skeletal grains float
in a matrix of microcrystalline, cryptocrystalline, and
opaline silica. The skeletal grain content of these
fabrics is greater than 5%. Floating fabrics may be
massive or glaebular (Fig. 5.10). Matrix fabrics are
similar to F fabrics with the difference being they
possess a skeletal grain content of less than 5%. As
with F fabrics, M fabrics occur as massive and
glaebular subtypes. Conglomeratic fabrics possess a
discernible detrital fabric. The fabric is determined
primarily on the basis of the size of the detrital
grains which exceed 4 mm in diameter (Fig. 5.11).

CHEMISTRY

The chemistry of silcretes is overwhelmingly domin-
ated by silica, which may be as much as 99% by
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Figure 5.11 Photomicrograph of silcrete from west Texas,
showing conglomeratic (C) fabric. Field of view is 1.1 mm.

weight, with negligible amounts of other chemical
constituents. Silcretes are characteristically poor in
alkalis and alkali earths, though often they display
enhanced concentrations of iron, titanium, zirco-
nium, and aluminium. The enhanced titanium con-
centrations are associated with the presence of
anatase and rutile (Hutton et al. 1972, Milnes and
Twidale 1983). Aluminium concentrations are associ-
ated with clay minerals.

Chemical analyses of silcretes have been pub-
lished by Goudie (1973, pp. 18-21) for Africa and by
Summerfield (1982, 1983b, c) for Botswana and
South Africa. The analyses of Summerfield were
concerned with the chemical variability vertically
down through the weathering profile. An examina-
tion of some 50 silcrete profiles reveals a mean silica
abundance of 94.7%. The second most abundant
constituent is titanium at 1.82%. Iron and aluminium
are present in small and variable abundances. Sil-
crete profiles show enrichment in silica and often
titanium but display depletion of aluminium, alkalis,
and alkali earths. In some profiles there is also
enrichment of iron where silcrete is associated with
ferricrete and where late-stage surface weathering
has occurred. On the basis of silcrete chemistry,
distinction is made between weathering and non-
weathering silcretes. Weathering silcretes are char-
acterized by the enrichment of titanium as a result of
the leaching of more soluble materials, while non-
weathering silcretes are deficient in titanium (Sum-
merfield 1983c).

Detailed chemical analyses of Australian silcretes
are available from a number of studies. Hutton et al.
(1972) examined the chemistry of silcretes and sil-
crete skins in South Australia. This study was
significant in heightening awareness of concentra-
tions of titanium and zirconium in silcretes. A
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comprehensive collection of papers edited by Lang-
ford-Smith (1978) provided a wide sampling of
silcrete chemistries from a variety of areas in arid
and semi-arid Australia (Gunn and Galloway 1978,
Hutton et al. 1978, Langford-Smith and Watts 1978,
Senior 1978, Wopfner 1978). Watts (1977) presented
a detailed discussion of the chemistry of silcretes
from western New South Wales. A summary of
silcrete chemical analyses from a variety of sites in
central and southern Australia has been presented
by Milnes and Twidale (1983). Consistent with
previous studies of silcrete chemistry these authors
found the silcretes to be dominated by silica, en-
riched in titanium and zirconium, low in calcium
and alkalis, and characterized by accumulations of
iron oxides and aluminium. Recent work on
pedogenic and groundwater silcretes from the opal
fields of South Australia by Milnes et al. (1991) and
Thiry and Milnes (1991) provided detailed chemical
analyses of these diverse materials. These studies
again revealed the trends in silcrete chemistry out-
lined above. An interesting finding of these studies
was that as shale is transformed to opalite, there is a
loss of aluminium, titanium, iron and water, and an
accompanying accumulation of silica.

Silicification of calcrete in the south-western Un-
ited States is widespread and has been widely
reported in the literature (Price 1933, Sidwell 1943,
Brown 1956, Swineford and Franks 1959, Aristarain
1970, Reeves 1976). However, published chemical
analyses are few. Field observations (Fig. 5.12) of
massive calcretes in the Ogallala Formation showed
that many of them are extensively replaced by silica
and, therefore, are more accurately referred to as
silici-calcretes (Table 5.6). Considerable scope exists
for the systematic study of silcretes in the south-
western United States where these materials are
undoubtedly more widespread than previously rec-
ognized (B.L. Allen, personal communication, 1991).

MINERALOGY

Like its chemistry, the mineralogy of silcrete is
relatively simple. However, the mineralogy is a

Figure 5.12 Silcreted caprock calcrete, Ogalalla Formation,
Palo Duro Canyon, west Texas.

reflection of both host materials as well as secondary
alteration. Typically, silcretes are dominated by
quartz, with minor amounts of opaline silica, feld-
spars, and heavy minerals and clay minerals (Sum-
merfield 1983a, ¢).

Detailed mineralogical studies of silcretes from
southern Africa (Summerfield 1982) revealed a
mineralogy dominated by quartz with the presence
of opal CT (cristobalite and tridymite) in the ground
mass. Chalcedony was recognized in voids and

Table 5.6 Major element bulk chemistry of silicified calcretes. High Plains, west Texas

Sample SiO, Al O3 Fe,0; MgO CaO Na,O K,O TiO, Loss on Total
ignition

S1A 65.7 2.2 0.83 1.4 14.4 0.28 0.45 0.13 15.1 100.5

S1B 65.5 2.2 0.79 1.3 14.5 0.29 0.46 0.12 15.1 100.3

S2A 71.1 2.7 0.97 14 10.8 0.35 0.66 0.14 11.8 99.9

S2B 70.8 2.7 0.95 1.4 10.8 0.35 0.67 0.14 11.8 99.9




vughs. The clay mineral fraction was dominated by
glauconite-illite.

Similar mineralogies were reported from central
and southern Australian silcretes by Milnes and
Twidale (1983). These authors observed framework
grains dominated by quartz with variable size lithic
clasts. The micro- and cryptocrystalline matrix is a
mixture of opal-C, opal-CT, and quartz. Over-
growths on framework grains consist of chalcedony
and quartz. In some skin silcretes, in particular, the
groundmass contains an abundance of anatase (Hut-
ton et al. 1972, 1978). Other accessory minerals in
Australian silcretes commonly include zircon and
rutile. Mineralogical characteristics of silcretes from
various locations in the Australian arid zone are
reported by Gunn and Galloway 1978, Wopfner
1978, S.H. Watts 1978a).

A variety of clay minerals have been identified in
the matrix of the silcretes. Van Dijk and Beckman
(1978) found the clay size fraction of silcretes from
south-eastern Queensland to be dominated by
quartz and kaolinite, with smaller amounts of inter-
stratified clay minerals, illite, and montmorillonite.
Detailed mineralogical analyses of silcretes in the
opal fields of South Australia (Milnes et al. 1991)
revealed a diverse mineralogy dominated by kaoli-
nite and smectite.

ORIGIN

Silcrete formation involves the interaction of three
elements: a silica source, silica transfer, and silica
precipitation. Numerous sources of silica are possi-
ble for the formation of silcrete. Silica may be
derived in situ from the dissolution of the host
materials followed by reprecipitation. Evidence for
this is seen in the frequent occurrence of embayed
quartz and other aluminosilicate mineral grains
within silcrete (Hutton et al. 1978, S.H. Watts 1978a).

Silcretes with accompanying weathering profiles
or in close proximity to weathered sediments may
derive the silica for their formation from the weath-
ering of aluminosilicate minerals and/or dissolution
of quartz (Senior 1978, Wopfner 1978, Summerfield
1982, 1983c, Milnes and Twidale 1983).

A long history exists in Australia of attempts to
genetically link silcrete formation to the presence of
basalt because of a common spatial association
between the two. Many workers have suggested
that silica released as a result of weathering is
redeposited beneath the basalt as silcrete (Gunn and
Galloway 1978, Ollier 1978). Taylor and Smith
(1975), however, had previously argued against any
genetic link between basalt and silcrete, suggesting
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that their frequent spatial association was merely
fortuitous.

Silica sources for the formation of silcrete in
southern Africa have been attributed to aeolian
influx. Summerfield (1982, 1983a) has suggested that
aeolian-transported quartz and aluminosilicate sedi-
ments are especially susceptible to dissolution be-
cause of the abrasion and associated disordering of
their surfaces experienced during transport. In addi-
tion, grain size reduction during transport results in
a greatly enhanced surface area to volume rela-
tionship, which increases their solubility.

Concentration of silica is common amongst some
grasses and represents another source of silica (Sum-
merfield 1982, 1983a). In lacustrine and fluvial en-
vironments, diatoms may also represent an impor-
tant silica source (Summerfield 1982).

Silica solution and transport takes place in normal
aqueous systems as either silicic acid or as an
aqueous sol (Milnes and Twidale 1983). Such solu-
tion and transport appears to occur at normal
temperatures and under neutral to low pH condi-
tions. However, it is widely known that the solubil-
ity and concentration of silica in solution in the soil
environment is greatly increased in environments
where pH is above 9 (Wilding et al. 1977).

Summerfield (1982, 1983a), based on his studies of
silcrete genesis in southern Africa, distinguished
between lateral transfer models and vertical transfer
models of silcrete formation. Lateral transfer models,
which include the formation of silcrete in lacustrine
and fluvial models environments, have long been
applied to the origin of silcretes in Australia and
Africa. In some of the earliest work on the genesis of
silcretes in Australia, Stephens (1964, 1971) sug-
gested that the silcretes in central Australia were the
result of the accumulation of silica leached and
transported from the Eastern Highlands during the
formation of lateritic iron crusts. Short-distance later-
al transport models have been proposed by Milnes
and Twidale (1983), Wopfner (1978), and Hutton et
al. (1972, 1978). Summerfield (1982, 1983b), working
in southern Africa, described silcretes from a variety
of landscape settings whose origin can be best
ascribed to the lateral transfer model. He reported
the occurrence of silcretes in pan (lacustrine) settings
in Botswana and the Northern Cape Province, South
Africa, as well as on the floors of river valleys and in
association with river terraces. Ambrose and Flint
(1981) described silcretes associated with strandlines
of a receding Miocene lake in northern South Au-
stralia.

Perhaps more widely applicable than the lateral
transfer models are the vertical transfer models. The
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latter models include the per ascendum, per descendum,
and groundwater models of Goudie (1973). Silcretes
resulting from the vertical rise of soil waters (the per
ascendum model) and subsequent deposition of silica
as a result of evaporation and/or pH change were
described in early investigations of silcrete genesis in
Australia (Woolnough 1927) and Africa (Frankel and
Kent 1938). Severe limitations with this model with
respect to the distance of capillary rise through
sands (Summerfield 1982) as well as the efficiency of
evaporative precipitation at depth (Summerfield
1983b) have cast serious doubts on its widespread
applicability to silcrete genesis.

Of broader applicability is the per descendum model
in which silica-charged waters percolate to depth
under the influence of gravity, eventually resulting
in the deposition of silica. These models were
championed early in the history of silcrete research
by workers such as Whitehouse (1940) and more
recently by Gunn and Galloway (1978) and S.H.
Watts (1978a, b). Thiry and Milnes (1991) described
pedogenic silcretes from the opal fields of South
Australia in which they envisaged the accumulation
of silica to be the result of the downward percolation
of silica-rich waters derived from the weathering of
overlying quartzite.

Transport of silica in ground water (the ground-
water model) and subsequent deposition with
associated silcrete formation has received consider-
able attention in the literature. Groundwater sil-
cretes have been described from arid central Austra-
lia by Ambrose and Flint (1981). Thiry and Milnes
(1991), working in the opal fields of South Australia,
proposed a model of silcrete formation in association
with silica-laden ground waters. This model led
them to conclude that multiple silcrete layers could
be attributed to silicification associated with progres-
sive water table lowering as a landscape denudation
proceeds.

GYPSUM CRUSTS

OCCURRENCE

Gypsic crusts occur in warm desert environments
receiving less than 200 to 250 mm of rainfall per
annum (Watson 1983). Gypcretes have been re-
ported from virtually every continent of the world
(Watson 1983). In Australia, gypcretes have been
described by Wopfner and Twidale (1967), Arakel
and McConchie (1982), Warren (1982), Jacobson et al.
(1988), and Milnes et al. (1991). In Africa, extensive
areas of gypsum crusts have been recorded in

Tunisia (Watson 1979, 1985, 1988), Algeria (Horta
1980), and the Namib Desert of southern Africa
(Martin 1963, Scholz 1972, Watson 1983, 1985, 1988).
Gypsic crusts have also been reported from the
Middle East, specifically from Israel (Dan et al. 1982,
Amit and Gerson 1986), Egypt (Ali and West 1983),
and Iraq (Tucker 1978). In North America there have
been limited reports of gypcretes from the south-
western United States (Nettleton et al. 1982) and the
semi-arid Rocky Mountain states (Reider et al. 1974,
Reheis 1987).

MORPHOLOGY

Watson (1979, 1983) recognized three principal types
of gypsum crust in Africa. (a) Evaporitic crust
characteristically consists of packed microcrystalline
gypsum strata. (b) True gypsum or croute de nappe
occurs in two forms: either as lightly cemented
gypsum crystals up to 1mm in length commonly
developed beneath non-gypsic sediment or as desert
rose crust consisting of interlocking lenticular gyp-
sum crystals ranging in size from a few millimetres
to 20 cm. (c) Surface crust also occurs in two princip-
al forms: gypsum powder which is composed of
loose accumulations of small gypsum crystals, and
indurated crust which is characteristically polygonal
or columnar in appearance and consists of an outer
zone of densely packed microcrystalline gypsum and
a core of soft or puggy coarsely crystalline gypsum.

In a recent study of gypsic soils in the Rocky
Mountain states, Reheis (1987) described gypsum
accumulations in soils in terms of the morphologic
sequence developed by Gile et al. (1966) for calcretes
from the south-western United States. Reheis (1987)
identified four stages of gypcrete development.
Stage I gypcrete is characterized by thin, discon-
tinuous gypsum coatings on the undersides of
stones. Stage II gypcrete has abundant gypsum
pendents under stones and gypsum crystals scat-
tered through the matrix or forming small, soft
powdery nodules. Stage III gypcrete is distinguished
by the presence of continuous gypsum through the
soil matrix and large gypsum pendents beneath
stones. Stage IV gypcrete consists of a continuous
gypsum-plugged matrix, with stones and smaller
debris floating in the gypsum matrix.

Detailed descriptions of gypcrete from Australia
are limited. Wopfner and Twidale (1967) recognized
two main forms of gypsum. The first is an upper
crystalline unit which these authors specifically re-
ferred to as gypcrete. This unit consists of coarsely
crystalline double-twinned gypsum, together with
fine to coarse clastic gypsum. The second lies below
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Table 5.7 Typical bulk chemical analyses of gypcretes from Wyoming (from Reheis 1987)

Percentage of size fraction <2 mm

Location Depth (cm) Stage  SiO, ALO; Fe, O3 MO CaO Na,0O K,O TiO, Mn ZrO,
Kane Fan 4 28-75 I 13.0 1.74 0.80 6.17 33.3 0.24 0.36 0.08 0.02 0.01
Site B-16 75-135 II 19.0 2.44 1.04 6.72 27.6 0.40 0.48 0.12 0.02 0.01
135-237+ I+ 45.0 544 2.23 3.35 14.0 0.59 0.96 0.30 0.01 0.03
Kane Fan 5 1940 v 9.0 1.19 0.46 2.31 29.5 0.19 0.24 0.05 0.01 0.00
Site B-17 40-89 I+ 16.0 2.04 1.09 9.67 27.4 0.23 0.48 0.12 0.02 0.01
89-179 I 23.0 3.35 1.43 7.96 23.9 0.38 0.72 0.18 0.03 0.01
179-249 I+ 24.0 3.25 1.32 7.89 256 0.38 0.72 0.17 0.03 0.02
Kane Fan 6 22-51 v 24.0 2.89 127  3.25 23.5 0.38 0.60 0.17 0.03 0.02
Site B-16 51-75 I+ 25.0 4.20 1.63 7.55 23.1 0.49 0.84 0.18 0.03 0.01
75-130 I 32.0 3.72 3.08 6.57 22.5 0.53 0.84 0.20 0.19 0.02
130-255+ 1 41.0 4.88 2.58 5.24 20.3 0.65 1.20 0.27 0.09 0.03
Kane Fan 7 14-25 II 47.0 4.10 1.63 2.32 18.0 0.36 0.84 0.22 0.05 0.03
Site B19 2540 v 20.0 2.63 1.19 4.15 24.2 0.26 0.48 0.13 0.07 0.01
40-85 III 33.0 4.39 2.05 4.38 19.2 0.35 0.84 0.23 0.08 0.02
85-137 II 42.0 5.14 2.56 5.01 16.2 0.49 1.08 0.27 0.11 0.02
137-262 I 44.0 5.63 3.33 3.57 18.0 0.54 1.33 0.32 0.17 0.03
the crystalline wunit and is a gypsum-rich Namib Desert was provided by Watson (1983, 1985).

sedimentary unit. These two units together consti-
tute what is referred to as a gypsite profile. The
underlying unit consists of finely crystalline gypsum
dispersed throughout the clastic sediments. Gypsum
prisms also occur within the matrix of the unit.

Gypcretes and gypsites have been described from
Western Australia by Arakel and McConchie (1982)
and the Northern Territory by Jacobson et al. (1988).
The gypsites are morphologically diverse depending
on whether they originate in the vadose or phreatic
zones. Phreatic gypsite bodies are typically wedge or
lensoid in shape. They consist of acicular and/or
discoidal gypsum crystals with massive, tabular, or
clotted micromorphologies. Vadose gypsites are
typically massive in appearance and consist of loose-
ly to tightly packed gypsum crystals, crystallites, or
gypsic fragments. Grain sizes are variable and dis-
play a variety of micromorphological fabrics. Surface
gypcretes are commonly thick and massive. They
possess a variety of grain sizes and occasionally
exhibit graded bedding. The gypcretes form benches
adjacent to lake basins and occur as lenses in
lake-bordering dunes. The gypcretes consist of
weathered gypsum crystals that have undergone
repeated solution and recrystallization (Jacobson et
al. 1988).

CHEMISTRY

A comprehensive summary of the characteristics of
the chemistry of gypcretes from Tunisia and the

These analyses reflect the considerable diversity of
gypcrete chemistries which vary with the degree of
induration. Typically, the African gypcretes contain
small abundances of calcium carbonate but are
enriched in sodium, potassium, and magnesium.
Iron and aluminium occur in smaller abundances
than the soluble salts and probably reflect the
mineralogy of the insoluble residue.

Comprehensive chemical analyses of gypcretes
from North America are presented by Reheis (1987).
Typical analyses are presented in Table 5.7. The
gypcretes are dominated by calcium which usually
occurs in abundances of approximately 30%. Silicon
is co-dominant in abundance with calcium and is
indicative of the mineralogy of the insoluble residue.
Magnesium is present in abundances of less than
10% and may be indicative of the presence of
carbonates. As with the African gypcretes, iron and
aluminium occur in substantially smaller abund-
ances than the aforementioned elements. Like the
silicon, these two elements are representative of the
clay mineral fraction of the insoluble residue. Minor
abundances of the other elements are present in the
gypcretes. Sodium has been widely regarded as an
important chemical constituent in gypcretes from
Africa and linked to the role of ground water in its
formation (Watson 1983). Chemical analyses of gyp-
cretes from Wyoming, however, contain less than
half a percent of sodium which may indicate minim-
al ground water effects.

Relatively little work has been undertaken on the
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Table 5.8 Mineralogies of gypcrete from Wyoming (from Reheis 1987)

Clay mineral percentage

Location Depth (cm) Stage Gypsum Kaolinite Mica Smectite Palygorskite
Kane Fan 4 28-75 I 31.4 21 23 42 7
Site B-16 75-135 I 43.8 35 20 33 6
135-237 I+ 29.6 34 17 37 6
Kane Fan 5 1940 1\% 70.3 9 25 13 9
Site B-17 40-89 I+ 28.0 28 26 28 9
89-179 II 37.2 21 30 30 10
179-249 I+ 27.2 10 37 27 10
Kane Fan 6 22-51 v 58.8 24 22 39 15
Site B-18 51-75 I+ 32.6 14 8 44 4
75-130 I 14.1 23 23 33 8
130-255 I 8.5 24 22 37 7
Kane Fan 7 14-25 I 20.2 19 16 50 11
Site B-19 2540 v 56.0 18 18 41 6
40-85 11 41.3 17 13 28 5
85-137 II 31.3 28 16 39 5
137-262 I 18.1 24 19 42 6

mineralogy of gypcretes. Gypsum is the dominant
mineral species. Analysis of about 150 samples from
Tunisia and the Namib by Watson (1983) shows the
mean abundance of this mineral to range from 61%
in powdery gypcrete to greater than 77% in indu-
rated surface crusts. Quartz is also an important
constituent in the insoluble residue. Gypcretes from
Wyoming (Reheis 1987) contain gypsum abundances
of less than 10% in some stage I gypcretes to as
much as 70% in stage IV materials (Table 5.8).

A variety of clay minerals is present in the
insoluble residue, the most abundant one being the
fibrous mineral palygorskite (Reheis 1987, Watson
1989). Other clay mineral species have been reported
by Reheis (1987) from the insoluble residue of
gypcretes from Wyoming, including kaolinite, smec-
tite, and mica.

ORIGIN

A diversity of models has been presented in the
literature for the origin of different forms of gyp-
crete. These models fall basically into either
pedogenic or non-pedogenic categories. It has been
proposed that pedogenic gypcretes may result from
the vertical rise and subsequent evaporation of
gypsum-laden soil waters. This model, however, has
been extensively criticized by Keen (1936) and more
recently by Watson (1979, 1983, 1985). Keen argued
that the structure of most desert soils precluded the
capillary rise of waters, and Watson stressed the

problem of the great quantities of water necessary to
precipitate even thin gypsum crusts.

Pedogenic gypcretes resulting from the downward
movement of gypsum have been more widely
embraced (Watson 1979, 1983, 1985), the source of
gypsum being generally regarded as aeolian (Page
1972, Watson 1979). Recent studies of gypsic soils in
the Middle East have stressed the importance of
wind-derived gypsum (Dan et al. 1982, Amit and
Gerson 1986). This gypsum is then translocated to
shallow depths and deposited by evaporation.
Where gypsum occurs deeper in the soil profile,
wetter climatic regimes are implied. Reheis (1987)
also ascribed the gypcretes in Wyoming to vertical
translocation of aerosolically derived gypsum, the
gypsum having been derived from nearby dunes
and surrounding bedrock sources. Watson (1985)
likewise recognized the significance of aeolian-de-
rived gypsum as a source for surface and subsurface
crusts in Tunisia and the Namib Desert. In Tunisia
he considered the source to be deflation of seasonal-
ly flooded basins, while in the Namib he empha-
sized the importance of fog in carrying dissolved
salts.

Non-pedogenic models of gypcrete formation are
related to deposition of gypsum in ground water or
lacustrine environments. Extensive gypsite and gyp-
cretes have recently been discovered in a series of
playa lakes in central Australia (Jacobson et al. 1988).
The gypsite and gypcretes result from the complex
interaction of phreatic and vadose ground waters



and infiltrating meteoric waters. Lacustrine gyp-
cretes have also been found by Watson (1985) in the
warm desert environments of Tunisia and the
Nabib. Watson described bedded gypsum crusts,
which he attributed to evaporation of shallow lakes,
and subsurface desert rose gypsum crusts, which he
ascribed to the evaporation of shallow ground water.

CONCLUSIONS

From the foregoing discussion a number of general

conclusions can be reached.

(a) Calcretes, silcretes, and gypcretes are widely

distributed throughout the warm desert environ-

ments of Australia, Africa, North America, and
the Middle East.

Each of the principal types of duricrust displays

considerable variability with respect to morphol-

ogy, micromorphology, chemistry, and mineral-
ogy. This variability reflects the diversity of
environments of duricrust formation.

(c) The formation of duricrusts is the result of
diverse processes which may be fundamentally
divided into pedogenic and non-pedogenic cate-
gories. Complex interactions between formative
processes also commonly occur.

(d) While the nature and origin of duricrusts have
received considerable attention in the literature,
considerable gaps exist geographically.

(e) There is a need for more work on the nature and
origin of duricrusts in general in the American
south-west. In Australia considerable opportun-
ity exists for future research on the nature and
origin of gypcretes.

(f) In all warm desert environments there is great
scope for the assessment of the genetic rela-
tionship between different duricrust types.

(b

~
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ROCK VARNISH IN DESERTS 6

Theodore M. Oberlander

INTRODUCTION

Dark surficial coatings on rocks in diverse environ-
ments have been an object of scientific curiosity
since their first description by Alexander von Hum-
boldt (1819). These surface films are most conspic-
uous in arid regions (e.g. Laudermilk 1931), where
exposed rock outcrops and rubble deposits are
ubiquitous and frequently are covered by glossy,
brown to black, iron- and/or manganese-rich pati-
nas, giving rise to the term desert varnish. Beyond
the arid realm, non-riverine chemical films on rocks
are dull and black in colour and attracted little
attention, being presumed to be vaguely ‘organic’.
In seasonally flooded tropical riverine environments,
vitreous silica-rich films of brown to purple-black
colour are sometimes present on exposed bedrock
potholes (Tricart 1972) and point bar cobbles, which
may be cemented together to form a resistant cara-
pace. Although the origin of non-riverine chemical
films remained an enigma for a century and a half
following Humboldt's description, relative degrees
of rock surface darkening, or patination, have long
been utilized as an age indicator in the fields of
archaeology and geomorphology (e.g. Goodwin
1960, Hunt and Mabey 1966, and Fig. 6.1).

The long period of pure conjecture regarding the
exact nature and origin of chemical coatings on rock
surfaces came to an end with the application of
modern analytical tools such as the scanning elec-
tron microscope and the electron microprobe, both
of which permit precise chemical characterization of
natural varnish films from point to point on the
micrometre scale. The pioneering work was done by
Engle and Sharp (1958), who used spectrographic
analysis of varnish scrapings to reveal the vast
enhancement in varnish films of Mn and other
elements relative to local rock, soil, or airborne dust.
Hooke et al. (1969) produced the first varnish che-
mical transects by electron microprobe analyses;
Baumann (1976) pointed out the chemical similarities

between desert varnish and marine ferromanganese
nodules; Potter and Rossman (1977) demonstrated
the high clay content of varnish films, and, along
with Allen (1978), established that varnish consti-
tuents are derived from sources external to the
subjacent rock. Perry and Adams (1978) revealed
that varnish films contain sequences of Mn-rich and
Mn-poor laminations. Dorn and Oberlander (1981b,
1982) analysed dark coatings from a variety of arid
and humid settings and concluded that Mn-rich
films in highly dissimilar environments were closely
related in chemical composition and mineralogy and
originated similarly as microbial products. Thus they
suggested the general term rock varnish and viewed
desert varnish as the most familiar type of rock
varnish. Although the following discussion is con-
cerned with desert varnish, for simplicity the more
general term rock varnish will be used throughout
the remainder of the chapter.

With several specialists now focusing their atten-
tion on rock varnish research, new findings and new
hypotheses are appearing at such a pace that any
current synopsis can only be a snapshot of a rapidly
changing scene. The following presents the state of
rock varnish research as we move into the last
decade of the 20th century.

VARNISH CHARACTERISTICS

Rock varnish varies widely in chemical and physical
characteristics; indeed many generalizations put for-
ward in the pioneering studies cited above were
based on limited sampling and have been disproved
by later work. It is not difficult to find rock surface
phenomena that resemble thick black, brown, or red
rock varnish but are concentrations of substrate
substances under a surficial varnish of the same
colour. This should be suspected whenever macro-
scopic inspection seems to reveal an exceptionally
thick varnish - that is, >0.4 mm (400 wm). Most rock
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Figure 6.1 (a) Petroglyphs inscribed in desert varnish in the Coso area, eastern California. Revarnishing of older
petroglyphs suggests that this rock art spans thousands of years. (b) Debris cone in Death Valley, California, with
individual debris slides distinguished by degree of coloration by desert varnish.
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varnish films are less than 300 um in depth. Where-
as rock varnish having a high Si content can barely
be scratched with a tungsten—carbide needle, some
similar appearing clay- and Fe-rich varnish can be
skimmed off rock surfaces like butter, and on very
smooth surfaces may even be removed by the
friction of a fingertip. Rarity of well-developed rock
varnish on Holocene surfaces and artifacts suggests
that in most desert environments the formation of
continuous black varnish coatings requires at least
10 000 years. Varnish forms much more rapidly in
humid regions and in arid locales where channelled
flows of water periodically stream over rock sur-
faces. A frequently cited report of rock varnish
formation in some 25 years (Engle and Sharp 1958) is
demonstrably erroneous (Dorn and Oberlander
1982, Elvidge 1982).

Rock varnish has been observed on every litholo-
gy, including limestone and marble in humid en-
vironments, but is best developed on durable silicate
rocks. Many recent investigators have demonstrated
that varnish films contain elements not present in
the varnish substrate and clearly have not been
derived from weathering of substrate material. This
is especially obvious in the case of Mn- and Fe-rich
varnish films on natural clasts and lithic artifacts
composed of pure silica. Either the varnish-forming
process, varnish clay minerals, or the major ele-
ments incorporated in varnish scavenge a host of
elements present in the environment, which are
transported to rock surfaces as dust or in solution in
water. The major elements detectable in most rock
varnish, in addition to Si, Al, Mn, and Fe, are Ca, K,
Na, Ba, Ti, Sr, and Cu. Minor elements, locally
assuming major significance, include Pb, V, P, Sr,
Co, Ni, Cd, Zn, La, Y, B, and Zr. A host of
additional elements also appears in trace amounts,
suggesting that rock varnish could be useful as a
geochemical prospecting tool (Lakin et al. 1963,
Potter 1979).

The major determinants of rock varnish physical
characteristics are the relative contents of clay miner-
als (commonly 60 to 80%) and hydrous non-crystal-
line oxides of Mn, Fe, and Si, each of which can
attain values of 50% or more. Potter (1979) found
that clays and oxides are intimately mixed, with the
clays adsorbing oxides and the oxides cementing the
clay minerals together. Clays are principally mixed
layer illite-montmorillonite, but Potter also found
some varnish specimens to be dominated by kaoli-
nite. Varnish colour indicates the balance between
the oxides of Mn (purple-black: possibly birnessite)
and Fe (orange: haematite), with many varnish
specimens containing equivalent amounts of the

Figure 6.2 Clast on alluvial fan in Death Valley, over-
turned to expose the darker Mn-rich band that forms at the
ground-line, with orange Fe-rich ventral varnish below and
dark grey Mn- and Fe-rich varnish above. Pen to the left for
scale.

two, imparting a dusky-brown hue. Clasts compos-
ing desert pavements generally have a dusky-brown
to black, Mn- and Fe-rich dorsal surface, and an
orange, Fe-rich ventral surface in contact with a
vesicular silty substrate. The Fe-rich bottom coat also
seems to develop on the undersides of clast-sup-
ported rubble deposits that presently lack any fine
matrix. Mineralogically, the bottom coat is distinc-
tive only by the absence of Mn. Where clasts are
partially embedded in fines, an Mn-rich, ‘ground-
band’, 1 to 4cm wide, that is darker and glossier
than dorsal varnish, separates the dorsal and ventral
varnishes (Fig. 6.2). Bauman (1976) noted that
marine ferromanganese nodules have a similar
ground-band. Resurfacing of orange, Fe-rich ventral
varnish by dark, Mn-dominated dorsal varnish is
often visible where surface clasts have been over-
turned by some agency.

Black, Mn-rich rock varnish expands by growing
outward from initial scattered points that are usually
microdepressions favouring moisture retention after
rainfall or dew formation. Thus Mn-rich varnish
appears to expand from points of colonization in the
manner of lichens, suggesting a biotic origin (Black-
welder 1954), and appears to be associated with
water concentration. Fe-rich ventral varnish, on the
other hand, appears to accrete and darken uniformly
regardless of rock surface microtopography, suggest-
ing a non-biotic physico-chemical origin.

The dorsal and ventral sides of pavement clasts
have quite different chemical environments. The
dorsal side, darkened by Mn-rich varnish, is flushed
periodically by rainfall and dew drainage, while the
ventral side, coloured orange by haematite, is usual-
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Figure 6.3 (a) Scanning electron microscopy image of shiny brown Mn- and Fe-rich lamellate varnish typical of hyperarid
locations, superimposed over mineral crystal, from Death Valley debris cone in Figure 6.1b (50-um scale bar shown). (b)
Scanning electron microscopy image of Mn-rich dull black botryoidal varnish typical of semi-arid to subhumid locations,

from west Texas (5-um scale bar). Images by R. 1. Dorn.

ly in contact with alkaline soil. Rock varnish in
non-desert settings resembles the black dorsal pati-
nas in most deserts, with a low content of clay and
aeolian detritus and a high content of Mn. Varnish
formed in regions that are hyperarid — essentially
rainless on a timescale of years — resembles that of
clast ventral surfaces in the more mesic deserts,
being Fe-rich and reddish in colour, with high clay
and detrital components of aeolian origin (Oberlan-
der 1982, Jones 1991).

Varnish sheen reflects the micromorphology of
varnish surfaces on the micrometre scale together
with the content of Mn and Si (Fig. 6.3). Shiny black
varnishes — the classic type that has long attracted
attention — are Mn-rich, with a platy or a smoothly
lamellate morphology as viewed under high mag-
nification (>500%). Dull black varnish has a low
content of clay and Fe, is Mn-rich, and has a surface
morphology composed of spherical botryoids having

diameters of 2 to 10 um. Such varnish is seen in
non-desert settings where rocks are periodically
wetted and dried, as in alpine vernal pools, river
point bars, and saltwater intertidal environments,
including the Giant’s Causeway in Ulster, Ireland
(Fig. 6.4), and Scottish lochs, in which ferroman-
ganese nodules are also present (Calvert and Price
1970).

Some Fe-rich rock varnish contains high amounts
of Si or is encased by a glassy Si glaze. This varnish
variant seems to have been overlooked by
archaeologists, and it is possible that certain exam-
ples of the ‘sickle-sheen’ or ‘phytolith polish’ on
microlithic artifacts, regarded as a product of human
harvesting of phytolith-rich grass, are actually a
natural Si glaze. On the eastern pediment of the
Cargo Muchacho Mountains of southern California,
hard Si glazes cover countless spherical pebbles that
clearly are not artifacts. Scanning electron micros-
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Figure 6.4 Black, Mn-rich rock varnish on columnar basalt
in saltwater spray zone, Giant’s Causeway, Ulster, Ireland.
Black varnish also forms where column tops are concave
and hold intermittent pools of rainwater.

copy views of some examples of ‘use-polished’
surfaces (Kamminga 1979) resemble lamellate-over-
botryoidal accretionary varnish morphologies rather
than abraded surfaces.

Within most deserts there is a vast range in
varnish morphologies and chemical compositions.
As varnish constituents arrive on rock surfaces
either in dissolved form or as airborne dust, surface
orientation is a partial control of varnish type.
High-Mn varnish forms on steep rock faces where
dust is not trapped, but where streaming water is
present on occasion. Fe-rich varnishes, usually hav-
ing high contents of clay and silt to fine sand
detritus, form in dust-trapping microenvironments
such as small pits, vesicles, and rock fissures in
areas having large dust fluxes including alkaline
substances such as salt and gypsum. Depressions
ranging in size from large lava vesicles to microsco-
pic roughness elements collect both water and dust,
but generally are points of higher than average Mn
concentration. This seems true even in hyperarid
alkaline environments where varnish films are con-
spicuously Fe-dominated. Clearly, periodic wetting
or moisture retention favours Mn accumulation on
rock surfaces, even where alkaline dust also accumu-
lates.

ELEMENT-CONCENTRATING MECHANISM

Throughout the long preliminary phase of varnish
investigation, the popular view, still cited in recent
years, was that varnish elements were ‘sweated out’
of rocks being weathered in dry, high-temperature
environments. The earliest SEM and microprobe
analyses disproved this by demonstrating a lack of
continuity or interpenetration between weathered

Figure 6.5 Rock varnish degrading and accreting simul-
taneously on weathered and fresh sandstone faces, near
Moab, Utah. The role of water in conveying Mn is evident
in varnish streaking on the new rock face exposed by
collapse.

rock surfaces and varnish films (Potter and Rossman
1977). Both chemically and morphologically, basal
varnish layers are conspicuously separate from and
superimposed upon unweathered crystals of rock
substrates along sharp interfaces (Fig. 6.3). Clearly,
varnish elements are transported to rock surfaces
from exterior sources either as particulate matter or
in solution, as is apparent in Figure 6.5.

However, the 40 to 60 times enhancement of Mn
in rock varnish as compared with average ambient
levels of this element (Engle and Sharp 1958) sug-
gests a preferential concentrating factor for Mn.
Many researchers have attempted to explain the
striking increase in Mn relative to Fe and other
varnish elements on the basis of purely physico-
chemical processes involving fractionation and pre-
cipitation from solution of more soluble Mn relative
to less soluble Fe under the high Eh—pH conditions
of arid environments (Engle and Sharp 1958, Hooke
et al. 1969, Elvidge and Moore 1979). While it is
difficult to disprove a purely physicochemical ex-
planation for Mn enhancement in arid environ-
ments, such explanations disregard the presence of
Mn-rich varnish in humid macro- and microenviron-
ments where Eh-pH conditions are quite unlike
those of arid regions. While Mn should be dissolved
from source materials much more rapidly than Fe,
producing Mn-enhanced solutions as varnish
sources, the far greater abundance of Fe in the
environment and the disposition of Fe in solution
prior to the deposition of the more soluble Mn
present problems. Moreover, the literature on Mn
deposits in a wide variety of surface, subsurface,
and aquatic settings makes a strong case for a biotic
concentrating mechanism for Mn films, with several
specific bacterial taxa implicated (Bauman 1976,



Ehrlich 1978, Crerar et al. 1980, Dorn and Oberlander
1982, Palmer et al. 1985).

Scanning electron microscopy X-ray analysis of
varnish specimens from surface and subsurface set-
tings in the south-western United States convinced
Dorn and Oberlander (1981a) that bacteria visible on
varnish surfaces concentrated Mn that had been
oxidized as a microbial energy source in environ-
ments lacking organic nutrients (Ehrlich 1978). Our
experiments indicated that mixotrophic Mn-concen-
trating microbes could be cultured in neutral pH
conditions, but were inhibited by both alkaline and
acidic environments. This concurs with previous
work on one of the most ubiquitous and distinctive
of the Mn-concentrating bacteria identified by us,
Metallogenium personatum, which is the oldest known
living organism, occurring in its present form in
2.0 X 10°-year-old Precambrian rocks (Crerar et al.
1980). Fungi, proposed by others (Krumbein and
Jens 1981) as the source of Mn enhancement in rock
varnish, support visible bacterial populations, and
we found that the latter were the specific sources of
the Mn concentrations present. In fact, the organic
acids generated by flourishing communities of mic-
rocolonial fungi or lichens appear to erode Mn-rich
rock varnish. Thus the viable environment for
organisms producing Mn-rich rock varnish appears
to be neutral-pH surfaces that are intermediate
between the alkaline setting of dust-filled rock cracks
and pebble ventral surfaces and moister situations in
which life forms higher than mixotrophic bacteria
begin to thrive and generate inimical and corrosive
organic acids.

Potter (1979) and Raymond et al. (1992) discovered
biogenic stromatolite-like accretionary structures
in varnish films, and the latter concluded that
Mn-oxidizing bacteria not only produce varnish
structures but also account for the amorphous (non-
crystalline) nature of the Mn in rock varnish. Micro-
scopic stromatolite-like accretionary structures appear
to be common in Mn-rich varnish films and have
been recognized in unequivocal form in this author’s
specimens. Dorn (pers. comm. 1991) has attributed
the columnar morphology to biogenic erosion by
microcolonial fungi; however, varnish laminae
parallel to column faces seem contrary to this inter-
pretation.

The wide occurrence of Mn-rich varnish coatings
on fracture surfaces far below ground level (Weaver
1978), often with a gloss equivalent to the best
surface varnish, suggests that the controls of Mn
deposition are complex. Glossy subsurface varnishes
on semi-consolidated lacustrine silts collected by this
author near Barstow, California, are densely popu-
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lated by bacteria that appear to be filamentous-
trichospheric Metallogenium personatum in stage 4 of
this microbe’s life cycle in the presence of dissolved
manganese (Crerar et al. 1980). Although the micro-
bial origin of Mn-rich rock varnish has been sup-
ported by subsequent research (Jones 1991,
Raymond et al. 1992), some researchers continue to
advocate a role for fungi, based on their own SEM
analyses (e.g. Krumbein and Jens 1981). In addition,
advocates of a pure or partial physicochemical Mn-
concentrating mechanism continue to debate the
issue of rock varnish origin (Elvidge and Iverson
1983, Smith and Whalley 1988).

The mechanism producing Fe-rich varnishes with
high clay contents in alkaline settings has received
little attention, but both biotic and physicochemical
processes appear to be implicated (Jones 1991).
Scanning electron microscopy X-ray analysis of des-
ert varnish bacteria reveals minor enhancement in Fe
along with the dominant Mn spike, and many
different Fe-concentrating bacteria have been recog-
nized in non-desert settings. Fe-rich films on rocks
in streams and at springs in acidic environments in
humid regions are common and are ordinarily attri-
buted to chemolithotrophic bacteria and Eh and pH
changes. However, orange Fe films in aquatic set-
tings are free of clays and occupy an entirely
different chemical environment from that of Fe-rich
rock varnish.

MICROCHEMICAL LAMINATIONS

The first electron microprobe investigations of rock
varnish by Hooke et al. (1969) revealed variations in
chemistry through the depth of varnish films. Hooke
et al. believed that these were systematic, permitting
certain generalizations to be made about chemical
trends in rock varnish transects. These generaliza-
tions have not been sustained by subsequent work,
which indicates far more variability in varnish chem-
istry. Perry and Adams (1978) discovered that rock
varnish films contained sequences of Mn-rich and
Mn-poor laminations, which they regarded as prim-
ary depositional features. Dorn and Oberlander
(1982) found the same laminations in their speci-
mens and likened the Mn-poor laminae to the
Mn-deficient (Fe-rich) varnishes on the undersides
of desert pavement clasts, stressing the negative
influence of alkalinity on microbial oxidation of Mn.
We proposed that microchemical laminations re-
sulted from oscillations between moderately mesic
and hyperarid climates, as in pluvial and interpluvial
intervals in arid regions. Hyperarid phases were
equated with higher dust fluxes, more alkaline
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environments, reduced microbial activity, and a
falloff in Mn fixation by mixotrophic bacteria while
non-biogenic Fe accretion continues. Thus it was
proposed that rock varnish microchemical lamina-
tions provided an on-land proxy palaeoclimatic re-
cord analogous to the oceanic oxygen isotope record
(Dorn and Oberlander 1982, Dorn 1984, 1990a).
Dragovich (1988) has commented upon the care
required in the interpretation of rock varnish mic-
rochemical laminations.

VARNISH CHEMISTRY AS AN ENVIRONMENTAL
INDICATOR

Alternating Fe-rich and Mn-rich laminae are evident
in varnish transects from areas known to have
oscillated between arid and semi-arid (or subhumid)
climates in Holocene and Pleistocene time (e.g. the
Mojave and Sahara deserts) (Fig. 6.6). The Fe trend
in varnish films is usually paralleled by Si and Al
(varnish clays), while Mn trends tend to be echoed
by Ca and Ba. Dorn (1990a) found that at 18
meteorological stations where rock varnish was pres-
ent, Mn/Fe was inversely correlated with two diffe-
rent indices of climatic aridity as well as with 8°C
indications of plant xericity. In Death Valley, Califor-
nia, varnish on alluvial fans on the upwind and
downwind sides of the central evaporite pan, a
major alkaline dust source, varies significantly.
West-side (upwind) alluvial fans issuing from the
Panamint Mountains bear black, Mn-rich varnish,
while east-side (downwind) fans rimming the Black

Mountains are stained by orange to brown Fe-rich
varnish. The basal varnish of older portions of Black
Mountain fans (downwind) is Mn-rich, possibly
reflecting a lacustrine phase that reduced the local
dust flux. In both relative and absolute terms, Mn
declines outward while Fe increases, so that the
youngest portions of varnish films are consistently
Fe-dominated. Varnish on younger fan segments is
Fe-dominated throughout, seeming to reflect the
contemporary post-lacustrine hyperarid condition.
In the alkaline, hyperarid Atacama Desert of
Chile, which records rainfall at intervals of about a
decade, conspicuous rock varnish is rare, but, where
present, is Fe-rich, with Mn sparse through the full
depth of all varnish films examined. In this area
many hillslopes, dune fields, and relict shorelines
are encrusted by salines including halite, gypsum,
and highly soluble nitrates. Here there is no clear
record of late Pleistocene moisture increases.
Although relict shorelines are visible, they are un-
dated, and the most prominent are encased by salt
derived from aerosols over an immense span of time
(see Chapter 2). These ancient shorelines could not
be reoccupied, as they lack topographic closure
owing to large-scale post-lacustral erosion of bed-
rock. In the Atacama Desert every rare occurrence of
rock varnish having a significant Mn content can be
accounted for in terms of a microclimatic setting that
increases humidity: either proximity to the exotic
Loa River or a sag in the coastal escarpment that
permits occasional ingress of the persistent coastal
fog. In the fog-shrouded but barren coastal zone,
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Figure 6.6 Ratios of Mn to Fe through depth of varnish film on volcanic surface with K/Ar date of 486 + 100 ka, Coso area,
California. Periods of minimum Mn accretion (troughs) interpreted as arid (alkaline) intervals in a record of
pluvial-interpluvial climatic oscillations.
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Figure 6.7 Ratios of Mn to Fe through rock varnish on volcanics with K/Ar date of 1080 + 60 ka, Coso area, California.
Peaks and troughs are supported by multiple data points, but record appears too variable to be convincing as an index of

climatic oscillations.

rock varnish is not present and clasts are encrusted
by lichens.

The Mn/Fe relationship to present climate along
with consistency of the trends noted in Death Valley
and the Atacama Desert lends credence to the
palaeoclimatic significance of Mn/Fe ratios in varnish
cross-sections. However, complications in a simple
climatic interpretation of Mn/Fe ratios were noted by
Jones (1991). Raymond et al. (1992) suggested that
Mn is associated with the stromatolite-like structures
noted above, with Fe being abundant in inter-
stices that collect aeolian detritus. However, not
all Mn-rich varnish exhibits visible stromatolitic
structures, and vertical stratigraphic superposition of
Mn- and Fe-rich laminae is often clearly visible in
SEM views. Harrington et al. (1990) found that in
areas of Pleistocene and Holocene volcanism, the Fe
content of varnish films and the number of Fe-rich
varnish laminae correlate with proximity to eruptive
vents rather than with climatic oscillations. This
becomes a further problem in varnish age deter-
minations based on Ti content (see below), as
titanomagnetite grains are likely to be indicators of
tephra horizons in varnish. Isolated Fe spikes appear
in many transects through Mn-rich varnish and
usually correlate with high-Ti anomalies.

Despite broad consistencies in the relationship
between alkalinity and the Mn/Fe balance in rock
varnish, microchemical laminations in varnish cross-
sections from southern California (Mojave Desert,
Imperial Valley, southern Owens Valley) display
considerable local variability. Whereas some varnish
cross-sections seem indicative of true climatic oscilla-

tions, with plateaux and troughs in Mn/Fe ratios
defined by multiple points, other cross-sections from
the same surfaces are a hash of unconvincing single-
point peaks and valleys (Fig. 6.7). Obtrusive varia-
tions in the micromorphology of varnish presumably
accreting simultaneously at sites only millimetres
apart suggest complexity in varnish-forming proces-
ses. Observations of dew distribution on desert
pavement rocks indicate that moisture condensation
and retention on rock surfaces varies markedly with
substrate mineralogy, possibly creating complexes of
humid and arid climates on the micrometre to
millimetre scale. Raymond et al. (1992) found that
substrate elements influenced varnish elements
adsorbed to the rock surface even though the var-
nish elements were derived from exterior sources.

Further testing of the Mn/Fe ratio as a palaeo-
climatic index is essential, including analysis of the
effects of substrate mineralogy, the field orientation
of varnished surfaces, and specimen height above
soil surfaces, and future varnish collection should
control all of these influences. Core sampling from
faces (not tops) of outcrops and large clasts would
probably decrease varnish detrital content as well
as the water pooling and chemical fractionation
effects noted by Jones (1991) and would increase
sample comparability.

VARNISH AGE DETERMINATION

The degree of rock varnish development or patina-
tion has long been used in geomorphology as an
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indicator of the relative ages of eroding rock surfaces
and rubble deposits such as alluvial fan and talus
components. Surface lithic artifacts likewise are
assigned relative ages on the basis of degrees of
patination, as are petroglyphs that have undergone
various degrees of repatination. What has been
utilized is the increase in value (in the hue/value/
chroma system of colour classification) or relative
darkness of a particular hue. However, the element
composition of the varnish disturbs any straightfor-
ward interpretation, as Mn-rich varnish appears
older (darker) than Fe-dominated varnish. Varnish
thickness is an unreliable age index, being thinner
on smoother substrates and thicker over irregular
dust- and moisture-trapping substrates. Varnishes
that are obviously young are often surprisingly
thick, suggesting a rapid rate of accretion until
surfaces are smoothed, after which accumulation
seems to proceed much more slowly. Certain litholo-
gies likewise appear to influence varnish thickness,
or perhaps the onset of varnish deposition: for
example, basalt appears to rapidly develop thick,
easily removed varnish, while cryptocrystalline
quartz (flint, chalcedony) varnishes slowly and may
have a thin, Si-rich, abrasion-resistant veneer. Final-
ly, on many rock surfaces varnish accretion is
periodically interrupted by surface scaling, aeolian
abrasion, or corrosion by organic acids associated
with fungi or lichens. Varnished ventifacts are not
uncommon in most deserts, suggesting that venti-
facted varnish should also be expected.

Attempts have been made to determine the abso-
lute age of rock varnish using neutron activation
analysis (Bard et al. 1978) and U-series dating
(Knauss and Ku 1980). Reasonable ages were
obtained, but the absence of corroborating evidence
and the specialized laboratory apparates required
seem to have stifled further attempts along these
lines. Potter (1979) determined that there is too little
organic matter in rock varnish to date by conven-
tional radiocarbon analysis. Accelerator mass spec-
trometer radiocarbon dating of rock varnish is dis-
cussed below. Potter also tested palaeomagnetic
dating, but found that the magnetic signal of both
dorsal and ventral varnishes was too weak to be of
use. However, Clayton et al. (1990) were able to
detect a palaeomagnetic signal in rock varnish on
quartzite, suggesting that varnish ages older than
¢. 700 000 years could indeed be distinguished.

VARNISH CATION RATIO DATING

Dorn and Oberlander (1981b) suggested that the
relative ages of rock varnish films could be estimated

semi-quantitatively by comparison of the propor-
tions of relatively mobile and immobile elements
incorporated in varnish films. By analogy with soil
chronosequences, we assumed that in older varnish
immobile substances would accumulate relative to
more abundant mobile cations that would be in-
corporated and later leached to varying degrees. The
most stable substance incorporated in all rock var-
nishes in significant amounts is TiO,. Of the mobile
cations Na, Mg, Ca and K, only the latter two are
heavy enough to be reliably counted by various
microanalytical techniques. This suggested the ratio
(Ca+K)/Ti as a leaching index, later termed the
varnish cation ratio or VCR (Dorn 1983, 1990a).
When applied to test sites with landforms of varying
age, cation ratios of bulk samples of varnish scraped
from rock surfaces gave both consistent and logical
results. Harrington and Whitney (1987) found that
cation ratios could be obtained by non-destructive
SEM energy dispersive X-ray (EDAX) analysis of
intact varnish specimens, permitting point-specific
resampling where anomalies are detected. In this
procedure, depth penetration of an electron beam
normal to the varnish surface is achieved by progres-
sive acceleration of beam voltage (Reneau et al.
1991a). Dorn (1989) and Dorn et al. (1990) have
criticized this approach, which requires removal of a
portion of the varnish substrate.

Cation ratios of varnish bulk samples scraped
from K/Ar-dated volcanic rocks and analysed chemi-
cally by the proton-induced X-ray emission (PIXE)
method have been used to generate rock varnish
absolute age determination curves for archaeological
and geomorphic use in nearby areas (Dorn 1989).
These age determination curves (Fig. 6.8) assume
that the (Ca+ K)/Ti ratio of dust incorporated into
varnish at a site remains constant through time. As
indicated below, this critical assumption may be
erroneous. Bierman and Gillespie (1991b) warn that
natural fires in semi-arid regions cause boulder
spalling, particularly in granite, causing loss of older
varnish. As climatic oscillations have induced earlier
vegetation enrichment in presently desertified areas,
fire-related spalling may have affected sites in which
such a phenomenon now seems inconceivable.
Nevertheless, VCR age determinations based on
curves calibrated by varnish chemistry on dated
volcanic rocks and by AMS '*C age determinations
(see below) are now routinely used by both geomor-
phologists and archaeologists (Wells and McFadden
1987, Dorn et al. 1988, Pineda et al. 1988, Whitney et
al. 1988, Dorn 1990b, Loendorf 1991).
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Figure 6.8 Rock varnish leaching curves, showing cation ratios (Ca + K)/Ti plotted against K/Ar ages of volcanic rocks.
Recent end of scale based on modern dust compositions (adapted from Dorn 1989).

PROBLEMATICAL ASPECTS OF VCR AGE
DETERMINATIONS

Questions have been raised concerning the precision
of the chemical analyses underlying rock varnish age
determination curves. Bierman and Gillespie (1991a),
Bierman et al. (1991), and Harrington et al. (1991)
pointed out that many VCR age determinations are
unreliable because, in the absence of a special
deconvolution, standard PIXE analysis of varnish
scrapings does not separate Ba from the Ti used to
compute cation ratios. This, in turn, invalidates the
varnish leaching curves that are the basis of varnish
age determinations. Barium is associated with Mn in
virtually all rock varnish, occasionally attaining
values equal to Mn and often exceeding Ti, but may
not be recorded in standard energy-dispersive spec-
troscopy used in SEMs, electron microprobes, and
proton beam (PIXE) analysis because L, and Lg
peaks for Ba coincide with K, and Kgz peaks for Ti.
Thus Ba and Ti are cumulated as Ti, resulting in
erroneously large Ti amounts and erroneously low
VCR values. Harrington et al. (1991) pointed out that
Ba concentrations seem to be inversely related to
varnish age, so that the Ba/Ti problem is greatest
with younger varnish films.

The standard pitfalls of VCR dating are discussed
by Dorn (1989) and Krinsley et al. (1990). However,
the very premise of VCR dating — the leaching of
varnish cations — has been questioned by Reneau
and Raymond (1991), Raymond et al. (1992), and
Reneau et al. (1992), who recognized that there is no
evidence of element translocation in varnish chemic-

al transects — that is, basal rock varnish is no more
leached than recently accreted surficial layers. This
seems true of all varnish cross-sections produced by
the present author using both electron microprobe
and SEM-EDAX analyses (e.g. Fig. 6.9) and has been
acknowledged by Dorn (1989). In response, Dorn
and Krinsley (1991) offered visual (SEM) evidence of
porous textures thought to be created by varnish
leaching and also performed leaching experiments
with both scrapings and in situ varnish. However,
the visible textures are not easily distinguished from
primary depositional features, particularly detritus-
filled gaps between Mn-rich laminae or adjacent
microstromatolites. Raymond et al. (1992) believe
that VCR results are considerably disturbed by the
distribution of detritus within rock varnish, with Ca,
K, and Ti all being major detrital components.
Unfortunately, Dorn and Krinsley’s SEM images are
reproduced at too small a size to be conclusive, and
chemical profiles of indicated transects are not
offered.

Bearing on the question of varnish leaching, the
present researcher’s analyses of varnish from lithic
artifacts in the hyperarid (and hyperalkaline) central
Atacama Desert reveal an increase of cation ratios
over time, with VCRs lower (less cation-rich) on
younger flaked surfaces than on older cortex areas.
This suggests that in areas experiencing intervals of
hyperalkaline conditions, particularly near playas,
VCRs may be ratcheted backward by each extended
desiccation event.

Perhaps a more important complication is the



116  Rock varnish in deserts

Figure 6.9 Oxide weight percentages of Ca, K, and Ti (logarithmic scale) through depth of the varnish film in Figure 6.6.
Contrary to the leaching hypothesis there is no relative loss of Ca and K in the older (deeper) varnish. Ti appears as
discrete spikes that may reflect volcanic tephra inputs rather than leaching residues.

Figure 6.10 Manganese and iron oxide weight percentages through the varnish film analysed in Figures 6.6 and 6.9.
Highest Fe peaks are also Ti spikes in Figure 6.9, suggesting that the most striking Fe-rich and Mn-poor laminae may be

volcanic tephra intercalations.

possibility, first raised by Harrington et al. (1990) and
Krier et al. (1990), that Ti-rich horizons in rock
varnish are tephra layers rather than biogenic
growth forms or the residuum of leaching. In fact,
while K and Ca percentages do not decline through
the depth of varnish films, neither does the percen-
tage of Ti increase with varnish depth and age as the
leaching hypothesis would predict. Titanium percen-

tages in varnish cross-sections maintain rather con-
stant levels except for isolated spikes, as seen in
Figure 6.9. Older varnishes differ from younger
varnishes merely by including a larger number of
discrete Ti spikes (often coinciding with Fe spikes)
that probably represent tephra falls (Fig. 6.10).
Harrington et al. (1990) and Krier et al. (1990) noted
that Ti content decreases and varnish cation ratios



increase with distance from eruptive vents. The
present writer has observed that the number and
prominence of Ti spikes are much greater in rock
varnish collected in volcanic fields than they are in
rock varnish collected in nearby non-volcanic areas.
Accordingly, it would be perilous to extrapolate VCR
curves derived from sites of repeated volcanism (e.g.
the first five curves in Fig. 6.8) to nearby non-
volcanic settings. In non-volcanic settings, Ti-domin-
ated horizons are less abundant and less prominent
in rock varnish, causing varnish ages to be grossly
underestimated by VCR extrapolation from volcanic
areas. This becomes a significant problem in areas
lacking other means of chronological control and
may invalidate VCR dates on surfaces beyond the
limit of *C age determinations.

Although published VCR age determinations
seem to correspond well with age determinations by
other means, the above criticisms are cogent. Until
there is a better understanding of varnish diagenesis
through time, it would seem wise to treat VCR age
determinations with caution.

AMS RADIOCARBON DATING OF ROCK VARNISH

Multiple VCR age determinations clearly evince
greater scatter on short timescales, possibly because
of the Ba effect, the influence of volcanic Ti, and
unsystematic variations in the colonization of subs-
trates by varnish-generating organisms. To resolve
the problem of late Pleistocene and Holocene age
determinations, and as a check on VCR dating, Dorn
et al. (1989) introduced the use of accelerator mass
spectrometry (AMS) to obtain radiocarbon dates on
organic matter beneath or within basal varnish
layers, thus constraining the ages of rock substrates.
The organic matter consists of varnish organisms,
pollen, and plant debris embedded in the accreting
clays and oxides composing varnish films. To obtain
adequate organic matter for AMS analysis, the basal
varnish covering a surface area of 0.5m? or more
must be collected. This entails removing the outer
(younger) varnish overburden down to a consistent
depth above the substrate, then detaching the re-
maining basal layer for AMS analysis. According to
Dorn et al., the outer 90% of the varnish is removed
by hand under magnification, using a tungsten—
carbide needle (later ‘dental tools’), to a uniform
depth on the micrometre scale over a surface area of
0.5m?. Lithologies that would promote time-trans-
gressive varnish (beginning in roughness elements
and delayed on smooth crystal faces) are avoided. It
should be noted that the varnishes utilized for this
analysis are often quite thin, having been formed in
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1000 to 50 000 years (in the case of petroglyphs,
1 000 to 10 000 years), exacerbating the problem of
overburden removal to a consistent stratigraphic
horizon.

Dorn et al. (1989) achieved excellent agreement
between rock varnish AMS C dates and dates
measured or inferred by other means at a large
number of test sites, with varnish dates being about
10% younger than controls as a consequence of the
expected lag in colonization by varnish-generating
organisms. The procedure has been extended to the
dating of petroglyphs (Dorn et al. 1992a), moraines
(Dorn et al. 1987, Dorn et al. 1991), alluvial fan
segments (Dorn 1988), and lava flows (Dorn et al.
1992b). In all instances the published AMS "C dates
correspond strikingly with age estimates by other
methods. This seems remarkable considering the
difficulty of stripping varnish from large surfaces to
a specified depth with a sharp-pointed hand-held
tool, the limitations of the human hand, operating
on the micrometre scale, being far more critical than
the specific scraping tool used. Questions concern-
ing AMS 'C age determinations on rock varnish
have been raised by Reneau et al. (1991b). These
have to do with the time-transgressive nature of
basal varnish, the precision of the mechanical proce-
dure that isolates basal varnish of a consistent age,
and the possibility of incorporation of older organic
debris in basal varnish. Dorn et al. (1992a) have
recently asserted that the organic material in basal
varnish samples actually is subvarnish organic de-
bris located at the rock-varnish interface, so that
consistency in sampling depth is not truly critical for
AMS age determinations.

CONCLUSION

Research on rock varnish has advanced enormously
in the past two decades, taking the phenomenon
from the category of a complete enigma to a possible
tool for both absolute age determination and
palaeoenvironmental analysis. However, details of
the formative mechanisms, the nature of diagenetic
changes in varnish films, and the most appropriate
methods for varnish chemical analysis have become
subjects of ongoing debates. The basic premises
underlying the use of rock varnish for both age
determination and palaeoenvironmental research
have come into question and will remain in doubt
pending future substantive findings concerning var-
nish-forming processes. Nevertheless, the consisten-
cy of cation ratio results and of some systems of
microchemical laminations have convinced a number
of researchers that rock varnish contains usable
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environmental records that may be applied in stud-
ies of fault activity, rates of cliff retreat, and the ages
of Quaternary geological deposits as well as lithic
artifacts. Systematic analyses of rock varnish charac-
teristics and processes are being undertaken by an
increasing number of individuals along with very
well-equipped research teams. It would be surpris-
ing if the attention presently focused on rock varnish
does not eventually yield unequivocal answers to
the questions raised by detailed analyses of varnish
in recent years. However, as rock varnish chemical
and physical characteristics are highly site-specific,
researchers should be warned against generalizing
too confidently from studies of single localities.
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ROCK SLOPES

Alan D. Howard and Michael ]. Selby

INTRODUCTION

The very slow chemical and physical weathering
rates in desert areas coupled with a relatively high
efficiency of wash processes, due to the general
sparseness of vegetation, results in more widespread
occurrence of slopes with little or no regolith than in
areas with humid climates. This chapter outlines the
processes and landforms occurring on desert slopes
that are either massive bedrock or are scarps and
cuestas in layered rocks dominated by outcropping
resistant rock layers.

SLOPES IN MASSIVE ROCKS
by Michael J. Selby

Hillslopes formed on bodies of massive rock — that
is, with few joints and high intact strength — are
found in most of the world’s deserts. These deserts
vary in age, past climatic regimes, structure, and
geological history. It seems inherently improbable,
therefore, that all hillslopes will have one set of
controls on their form, or even that the same
controls have prevailed throughout the evolution of
the hillslope. In this section the following influences
on hillslope form will be considered: rock mass
strength and slope forms; structural influences;
sheeting; bornhardts; karst in siliceous rocks; etch
processes and inherited forms.

ROCK MASS STRENGTH AND SLOPE FORMS

There has been a general recognition by geomorph-
ologists that rock resistance to processes of erosion
has played a part in controlling the form of hill-
slopes, particularly in arid regions, but attempts to
study such relationships in detail were dependent
upon the development of rock mechanics as a
discipline. The work of tunnelling and mining en-

gineers has been important in the establishment of
methods of investigation (see, for example, Terzaghi
1962, Brown 1981, Hoek and Bray 1981, Brady and
Brown 1985, Bieniawski 1989). The application of
rock mechanics approaches to the understanding of
hillslopes has been particularly fruitful in arid and
semi-arid areas where excellent exposure of rock
outcrops is available (Selby 1980, 1982a, b, ¢, d,
Moon and Selby 1983, Moon 1984a, 1986, Allison
and Goudie 1990a, b).

The underpinning of the geomorphological stud-
ies listed above was the formulation of a semi-
quantitative method of evaluating the strength of
rock masses (Selby 1980). The method involves a
five-level ordinal rating of seven characteristics of
exposed rock related to mass strength. These are
intact rock strength (typically measured by Schmidt
hammer), degree of weathering, spacing of joints,
orientation of joints relative to the slope surface,
joint width, joint continuity, and degree of ground-
water outflow. The individual ratings of these char-
acteristics are incorporated into a weighted sum
characterizing rock mass strength. Details of this
method have been referred to in accessible sources,
such as Selby (1982d) and Gardiner and Dackombe
(1983). The original method is fundamentally un-
changed but Moon (1984b) has suggested some
refinements to measurements and Abrahams and
Parsons (1987) have improved the definition of the
envelope defining strength equilibrium slopes.

The contention that strength equilibrium slopes
are widespread is confirmed by independent and
recent work and has a number of implications. (a)
Rock slopes in strength equilibrium retreat to angles
which preserve that equilibrium: if the process of
retreat brings to the slope surface rocks of lower
mass strength the slope angle will become lower; if
higher strength rock masses are exposed, slope
angles will steepen; only if rock mass strength is
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constant will slopes retreat parallel to themselves.
(b) Only if controls other than those of mass
strength supervene will the above generalization be
invalid. (c) Rock slopes evolve to equilibrium angles
relatively quickly. If this were not so, slope angles
too high or too low for equilibrium would be more
common than they are. (d) Gentle rock slopes
remain essentially uneroded until either weakened
by weathering or steepened by undercutting to the
strength equilibrium gradient. Application of the
technique is useful for distinguishing the effects of
controls other than rock mass strength on slope
inclination.

The assessment of strength equilibrium for hill-
slopes forming escarpments and inselbergs in South
Africa, the Namib Desert, and Australia and on a
great variety of lithologies has demonstrated that
there is no simplistic model for slope evolution of
the kind implied in such terms as parallel retreat or
downwearing. If such ideas have any validity, it can
only be in application to a particular variation in
mass strength into a rock mass as the slopes on it
evolve.

In all of the early work on the form of rock slopes
the units for assessment were chosen as having a
uniform slope and angle or an obvious uniformity of
rock properties. Such a selection process has certain
advantages, but it limits the application of statistical
assessment of parameters. Allison and Goudie
(1990a) have introduced the use of a ‘kennedy
parameter’ for measuring slope shape and a fixed
distance of 5m over which slope angle changes are
recorded. This method permits assessment of slope
curvature. The kennedy parameter has a value of 0.5
for straight slopes, increasingly concave slopes have
values tending towards 0.0 and increasingly convex
slopes towards 1.0. Symmetrical concavo-convex or
convexo-concave slopes also have a value of 0.5.
Profile records must therefore include profile plots if
errors are to be avoided. The same workers also
advocate the use of the sine of the slope angle if
frequency distributions and statistical analyses are to
be applied to slope profile data.

STRUCTURAL INFLUENCES

The rock mass strength rating system is insensitive
to the condition in which critical joints or weak
bedding planes dip steeply out of a slope - that is,
where the stability of the overall slope is controlled
by deep-seated structural influences rather than
processes and resistance operating at the scale of
individual joint blocks. If joints are infilled with
weak materials, such as clays, the critical angle for

stability could be as low as 10° (see Selby 1982d, pp.
72 and 158). A careful assessment of the shear
strength along critical joints is then required. Basic
methods are described by Brown (1981) and their
application to geomorphic studies by Selby (1987).

Moon (1984a) has studied steep slopes in the Cape
Mountains and recognized both unbuttressed and
buttressed slopes with units which are as steep as
90°. Buttressed slopes are supported by rock units
lower on the hillslope whenever the dominant joints
fail to outcrop. This happens most obviously where
bedding joints plunge at the same angle as the
hillslope angle. Buttressed slopes have slope angles
less than their apparent strength based upon the
rock mass strength parameters due to lack of ex-
posed dominant jointing. Such slopes demonstrate
the importance of a lack of weathering along the
joints and the lack of dilation which would other-
wise allow sliding to take place. The effective friction
angle along critical joints is assumed to exceed 55° in
some cases, as there are few signs of mass failure of
scarp faces. The elimination of buttressing by weath-
ering, buckling, or other processes is an essential
prerequisite to the development of strength equilib-
rium.

Rock slopes out of equilibrium with the rock mass
strength rating can also result from rapid undercut-
ting (by stream erosion of mass wasting lower on the
slope), form dominance by non-mass-wasting pro-
cesses (such as solution of limestones), rocks with a
regolith cover, exhumation (for example, structural
plains on resistant caprocks exposed by erosion of
overlying weak rocks, former Richter slopes de-
nuded of their debris cover, and some bornhardts),
and slopes dominated by sheeting fracturing.

SHEETING

The formation of planar or gently curved joints
conformable with the face of a cliff or valley floor is
called sheeting. To merit this name there usually is
evidence that the joints form more than one layer of
separating rock. Such evidence is obtained from
exposures which reveal parallel shells of rock separ-
ating from the parent rock mass, which is massive.
Sheeting joints have been described from several
rock types which can form massive bodies; granite
and hard, dense sandstones (Bradley 1963) are the
most common. In deserts domed inselbergs, called
bornhardts, and high cliffs are the most common
features which develop sheet structures (Figs 7.1
and 7.2).

At least four major hypotheses have been pro-
posed to account for sheeting: (a) sheeting results
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Figure 7.1 A sheet of arkosic sandstone has separated from the dome of Ayers Rock, central Australia. The bedding of the
rock lies in a vertical plane and has no influence on the sheeting. Note the tafoni on the dome face, which have been
interpreted as having an origin within a weathering mantle (photo M.]. Selby).

from stress release; (b) sheet structures are de-
veloped in granitic rocks by the formation of stretch-
ing planes during intrusion into the crust; (c) sheet-
ing is the result of faulting with the development of
secondary shears; and (d) lateral compression within
the crust creates dome-like forms with concentric
jointing being developed during the compression.
The expansion of rock during weathering produces
thin slabs of rock which, if confined laterally, may
arch and create small-scale features which are similar
to the larger-scale forms created by crustal stresses.

The unloading or stress release hypothesis was
expressed in its most persuasive form by Gilbert
(1904). He, like many geologists, was impressed by
the evidence of rock bursts in mines and deep
tunnels, of the springing up of rock slabs after
retreat of glaciers and by the common occurrence of
sheeting on the walls of deglaciated valleys and in
quarries. Work in quarries (Dale 1923, Jahns 1943)
showed clearly that the thickness of sheets increases
with depth into the rock mass. Sheet thicknesses
range from less than one metre to more than ten
metres and transect rock structures, or even dykes in

rock bodies, which have few or no other joint sets.
Sheet structures terminate laterally where they meet
other joints or weak rock units.

Stresses in the upper crust are usually described
as being derived from four major sources: gravita-
tional, tectonic, residual, and thermal (see Selby et
al. 1988 for a review).

Gravitational stresses at a point within a rock body
are induced by the weight of the column of rock
above that point. Rocks under load tend to expand
transversely to the direction of the applied load,
with the resulting transverse stress having a magni-
tude which is approximately one-third that of the
vertical stress. Even if the overburden is removed
the tendency for transverse expansion to occur is
locked into the rock mass as a residual stress (Haxby
and Turcotte 1976).

Tectonic stresses result from convergence, and
their presence is indicated by thrust faulting and
conjugate joint sets. Stress fields in areas of converg-
ence may yield horizontal stresses which exceed the
local vertical stresses (McGarr and Gay, 1978).

Thermal stresses result from the prevention of
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Figure 7.2 Sheeting on the surface of a granite dome,
showing various degrees of separation. Gross Spitzkoppe,
Namibia (photo M.]. Selby).

expansion or contraction of a solid during heating or
cooling. The magnitude of the stresses in a confined
rock body which cools through 100°C may exceed
the tensile strength of the rock (Voight and St Pierre
1974).

The stresses from gravitational, tectonic, and ther-
mal effects may all be locked in the rock body as
residual stresses if they cannot be relieved by expan-
sion of the rock, internal deformation, or the de-
velopment of joints.

In weak rocks and soils, continuous joint systems
do not develop freely because the high void space
and the presence of many microcracks and plastic
clays within their structure prevent fracture prop-
agation. In dense, strong rocks, by contrast, joints
can propagate with few impediments (for a discus-
sion of fracture mechanics and crack propagation see
Einstein and Dershowitz 1990).

The tendency of rock bodies to expand as a result
of gravitational loading and thermal stress from
cooling has been analysed in some detail by finite-
element analyses. Such analyses have now been

applied to a number of geomorphic phenomena at
scales ranging from small cliffs and individual slopes
to mountain peaks and mountain massifs (see, for
example, Yu and Coates 1970, Sturgul et al. 1976,
Lee 1978, Augustinus and Selby 1990). It is evident
from such analyses that all of the four forms of stress
described above can create a tendency for rock
masses to expand laterally and for stresses to be
concentrated at particular sites along cliff faces,
usually at the bases of cliffs (Yu and Coates 1970).
Furthermore, the magnitude of the stresses com-
monly exceeds the tensile strength of the rock. As
fractures are propagated in directions which are
normal to the direction of the principal stress (Ein-
stein and Dershowitz 1990), it is evident that stress
relief can be a major cause of sheeting which can
operate when the confining pressure of surrounding
rock masses is removed by erosion.

Yatsu (1988) has offered a dissenting view of the
role of residual or ‘locked-in’ stresses on develop-
ment of sheeting and rock bursts, maintaining that
steady-state creep can erase such stresses over the
long timescales required for exposure of formerly
deeply buried rock. Yatsu emphasized the role of
neotectonic stress fields and gravitational stress
related to present-day topography.

The evidence for steady-state creep is likely to be
found in thin sections taken from rock at shallow
depth. Such sections may be expected to show
alignment of minerals such as micas and develop-
ment of shears in crystals and silica overgrowths in
orientations which are unrelated to original rock
microstructure and are aligned downslope. No such
evidence has been reported.

Neotectonic stress fields would be expected to
create preferred alignments of sheeting joints, but
sheeting occurs parallel to valley walls and dome
surfaces with many orientations in a small area.
Furthermore, many areas of sheeting occur in cra-
tons far from areas of Cenozoic tectonism.

Gravitational stress is caused by existing overbur-
dens and is relevant to flanks of steep-sided peaks
and ridges and to walls of deep valleys. It is not
relevant to areas of low relative relief where many
examples of stress relief are found. It should be
noted also that, although a few studies of stresses in
individual boulders have been carried out, residual
stresses have been measured in joint-bounded col-
umns of basaltic lava (Bock 1979). Much further
work is needed, but Bock’s work has the implication
that residual stresses, of thermal or gravitational
origin, may be locked into small rock units.

The alternative mechanisms listed in the second
paragraph of this section are not necessarily ex-



cluded from being contributing factors to sheeting
but are, in essence, special cases which can apply to
only a few cases in specific environments.

MASS WASTING INFLUENCES

Many steep bedrock slopes in desert environments
exhibit chutes — linear depressions oriented down-
slope. Although most of these are developed along
zones of structural weakness, their deepening and
downslope integration may be enhanced by the
motion of rockfalls and avalanches through the
chutes. Such features are most elegantly developed
as ‘spur and gully’ terrain in arctic and alpine
environments where competition from runoff pro-
cesses is negligible (Matthes 1938, Blackwelder 1942,
Rapp 1960a, b, Luckman 1977, 1978, Akerman 1984,
Rudberg 1986) and on the sides of steep scarps on
Mars (Sharp and Malin 1975, Blasius et al. 1977,
Lucchitta 1978). In arctic and alpine terrain dry
rockfalls, debris avalanches, and snow avalanches
appear to be capable of rock erosion (Matthes 1938,
Blackwelder 1942, Rapp 1960a, b, Peev 1966, Gardin-
er 1970, 1983, Hewett 1972, Luckman 1977, 1978,
Corner 1980, O’Loughlin and Pearce 1982, Ackroyd
1987). Lucchitta (1978) and Patton (1981) cited exam-
ples from desert areas, but competition from fluvial
erosion makes the evidence for rockfall and ava-
lanche erosion equivocal.

Howard (1990) has modelled gully erosion by
avalanching using an avalanche rheology similar to
equation 8.13 and an approach similar to that used
from modelling of snow avalanches (Perla et al. 1980,
Dent and Lang 1980, 1983, Martinelli et al. 1980) and
some debris avalanches (Cannon and Savage 1988,
McEwen and Malin 1990). These models generally
assume that the avalanche moves as a unit with the
net downslope surface shear 7 being expressed by a
relationship

T = ppgh(cos Btanp —sin ) — pp, Cc V" (7.1)
where £ is the avalanche thickness (often assumed to
be constant during the avalanche motion), g is the
gravitational acceleration, 6 is the slope angle, ¢ is a
friction angle, V is the avalanche velocity, p, is the
flow bulk density, n is an exponent, and C; is a
friction coefficient. A theoretical basis for Cs is not
firmly established and may represent air drag, inter-
nal frictional dissipation, and ‘ploughing’ of surface
material (Perla et al. 1980). Some models utilize a
‘turbulent’ friction with n = 2, and others assume
‘laminar’ friction with n =1 (Buser and Frutiger
1980, Dent and Lang 1980, 1983, Lang and Dent
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1982, Perla et al. 1980, Martinelli et al. 1980, McClung
and Schaerer 1983, Schiewiller and Hunter 1983,
McEwen and Malin 1990, Cannon and Savage 1988).
Rather than finding analytical solutions for travel
distance, in these models avalanche motion is gener-
ally routed downslope over the existing terrain, with
deposition where V drops to zero. These models
also often account for lack of flow contact in over-
hangs and momentum loss at sudden decreases of
slope angle. Howard (1990) showed that chutes can
be created either through the action of debris motion
triggering failure of partially weathered bedrock or
regolith under conditions where they would other-
wise be stable or through direct scour of the sub-
strate.

BORNHARDTS

Bornhardts are steep-sided, domical hills with sub-
stantial surfaces of exposed rock (Willis 1936; Fig. 7.3).
In detail they vary considerably in form from being
nearly perfect hemispheres, through cylinders with
domed tops, to elongated ovoids. These different
forms have been given a variety of local and general
descriptive names (see Twidale 1981, 1982a, b).

The name bornhardt honours the German geolog-
ist Wilhelm Bornhardt who gave evocative accounts
of the landscapes of East Africa where granite domes
stand above extensive plains (Bornhardt 1900, Willis
1936). The association of granite with isolated domic-
al hills standing above plains is clearly implicit in the
original designation, but hills with similar forms
occur on other rock types of which Ayres Rock and
the Olgas of central Australia are among the best
known. Ayres Rock is formed of a coarse-grained
arkose — that is, a sandstone rich in feldspars. The
Olgas, on the other hand, consist of a massive
conglomerate, the matrix of which is as resistant as
the boulder- and gravel-sized clasts (Twidale, 1978)
(Figs 7.3 and 7.4).

The outstanding feature of bornhardts is their
massive form with few major or continuous joints
passing through the body of rock, but the margins of
bornhardts can often be seen to be determined by
bounding joints. Large rock masses may be parti-
tioned by widely spaced joints which then separate
the mass into a series of domes. Such partitioning
can be seen in the Pondok Mountains of the Namib
Desert (Selby 1982a) and in the Olgas (Fig. 7.4).
Sheeting, with separation of curved plates of rock
conformable with the dome surface, is a feature of
many bornhardts. It is easily recognized that such
jointing will permit survival of the dome form even
after successive sheets are broken by cross joints,
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Figure 7.3 Gross Spitzkoppe, Namibia, is a granite bornhardt which rises 600 m above the surrounding desert plain.
Sheeting is occurring on the main face and at depth in the central section which is in deep shadow. On the right, sheets

are being subdivided by cross-joints (photo M.]. Selby).

and weathering has caused disintegration of the
resulting slabs. Sheet jointing, however, is not
always concentric with the dome surface, and where
it has a curvature with a shorter radius or longer
radius than that of the dome, the result will be a
steepening or flattening of the ultimate dome form.

Bornhardts have been reported from virtually all
climatic zones, but they are especially abundant in
the humid, subhumid, and arid landscapes of the
Gondwana cratons where large exposed intrusions
of granitic rocks are common. In areas of younger
granitic and gneissic intrusions, granitic domes form
the cores of mountain massifs and may be revealed
by valley erosion along their flanks, as in the
Yosemite Valley, California, or as growing intrusions
in areas of active uplift, as in Papua New Guinea
(Ollier and Pain 1981). In other continental settings
diapiric intrusions form domed hills, as at Mount
Duval, Australia (Korsch 1982). Such features, and
the recognition that granite domes are created as
part of the intrusion process and revealed as cover
beds are removed, as in the inland Namib escarp-

ment (Selby 1977), indicate clearly that some dome
forms are entirely structural in origin and have
forms maintained by sheeting processes (Fig. 7.5).

There is no evidence, or process known, for a
structural origin for domes of sedimentary rock; for
them, and possibly for some domes of igneous rock,
other mechanisms have to be considered. It is
widely recognized that rounded core stones develop
from cuboid joint blocks within weathering profiles.
On much larger scales, it is often assumed that
similar rounding of corners will form domical rock
masses within weathering profiles. Such processes
may be aided, or even made possible, by stress
release joints opening along the edges of large
blocks and thus promoting the formation of rounded
forms.

Construction of railways, roads, and mine tunnels
(Boyé and Fritsch 1973) has revealed that many
domes occur as compartments of solid relatively
unjointed rock within a deeply weathered regolith.
The widely accepted hypothesis that many born-
hardts are resistant bodies of rock which have
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Figure 7.4 Domes of the Olgas, central Australia, showing the effect of major joints in subdividing the massif into

elongated domes (photo M.]. Selby).

survived attack by subsurface weathering and then
been revealed by erosional stripping of the regolith
(Falconer 1911) is clearly demonstrable where domes
stand above erosion surfaces below which deep
regoliths survive. For example, in central Australia
the exposure of Ayres Rock and the Olgas can be
put at the end of the Mesozoic, yet these inselbergs
stand above plains that have silcretes of early to
middle Tertiary age at the surface (Twidale 1978).
Much of the controversy about bornhardts has
been concerned with why bodies of rock should be
relatively free of major joints while the rock around
them is more closely jointed and therefore subject to
penetration by water and chemical alteration. The
focus of the debate has been on the lack of joints
which has commonly been ascribed to the massive
bodies being in a state of compression due to
horizontal stresses in the crust (e.g. Twidale 1981,
1982a, b). The arguments, however, will be convinc-
ing only when stress levels in the rock are meas-
ured. Standard methods exist (Brady and Brown
1985) and have been used by mining engineers for

some time. The difficulty is that the material around
the bornhardt usually has either been removed by
erosion or been deeply weathered, so comparable
data cannot be obtained from the dome and its
surroundings. In the Namib Desert, however,
emerging domes and their surrounds are available
for study.

It is evident from the above discussion that domed
hills are not unique to any climatic environment.
They are found in many of the world’s deserts, but
primarily because these lie on the surfaces of cratons
which have been deeply weathered and stripped.
The distinct feature of domes in deserts is their
excellent exposure, with limited weathering of their
surfaces by modern processes because the domes
shed to their margins such rain as falls on them.
Even the tafoni, pits, and other superficial features
are usually attributed to weathering within the
regolith. The process of stripping, whether it be by
downwearing or backwearing of the surrounding
material is irrelevant to understanding the origins of
the domes. Similarly, the mineralogy and petrology
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Figure 7.5 Domes of granite being stripped of their cover rocks which are unweathered schists. This exposure is one of
the best pieces of evidence for the creation of domes by intrusive emplacement and the inheritance of that form in the
landscape as cover rocks are removed by erosion (photo M.J. Selby).

of the rock is relevant only in so far as any bornhardt
that survives has had to resist the processes acting
on it.

KARST IN SILICEOUS ROCKS

Karst forms, possibly inherited from past more
humid environments, may be important parts of
some present desert environments. Such an area is
the Bungle Bungle of the south-eastern Kimberley
region of north-western Australia (Young 1986, 1987,
1988) and similar areas have been reported from the
Sahara (Mainguet 1972). In both of these areas the
rocks are quartzose sandstones and quartzites.

The siliceous rocks of the south-eastern Kimberley
region are nearly horizontally bedded and of Devo-
nian age. Their karstic features include complex
fields of towers and sharp ridges, cliff-lined gullies,
steep escarpments with cave and tube systems and
conical hills standing above flat-floored valleys
which debouch on to pediments which may have
near right-angle junctions with the scarps. The local

relief between the pediment surface and the ridge
crests is seldom greater than 300 m (Fig. 7.6). The
present climate is semi-arid with a dry season lasting
from April to November and a wetter season occur-
ring between December and March. The best esti-
mate for the annual rainfall is 600 mm. On pediment
surfaces, to the south, are widely spaced sand dunes
now fixed by stable vegetation but indicating a
formerly dry climate; the last arid phase ended
10 000 to 15 000 years Bp (Wyrwoll 1979).

Studies by Young (1988) have indicated the pro-
cesses which have contributed to, or perhaps con-
trolled, the development of the present landscape.
The primary evidence comes from scanning electron
microscope analyses of the rocks. The sandstones
have quartz grains cemented by quartz overgrowths
which did not eliminate all primary porosity. As a
result water could circulate through the rock and
etch the grains and dissolve much of the overgrowth
silica. The sandstones have, in some formations,
been left as granular interlocking grains with few
cementing bonds.



Slopes in massive rocks 131

Figure 7.6 Conical hills and sinuous ridges of the Bungle Bungle, northern Australia, rising above a pediment (photo M.].

Selby).

The rock bodies now have relatively high com-
pressive strength (35 to 55 MPa), as applied loads are
transmitted by point-to-point contacts between
grains, but very low tensile or shear strengths
because of weak cementation. The sandstones are
now friable and are readily broken down into small
blocks or single grains by sediment-laden water. On
cliff faces, bedding forms stand out clearly where
small-scale fretting and granular exfoliation has
undercut more coherent rock units (Fig. 7.7). Stream
channels have obviously followed major joints and,
in many canyons, streams have undercut valley
walls. Below cliffs and escarpments the boundary
between the cliff and the pediment is extremely
sharp and has angles as high as 90°. Sheet flows
crossing the pediments can readily transport the
dominantly sand-size grains carried by wet-season
flows.

Stream flow and sheet wash are clearly active and
the presence of streams in the month of May
suggests substantial storage of water in the rocks
and the possibility of sapping as a significant factor
in slope development. Case hardening is common
on most of the slopes to depths of 1 to 10 mm, but
whether the deposition of silica and clays to form
the casing is still active or is a relic from former dry

periods is unclear. There are a few sites in the
Bungle Bungle, and in Hidden Valley near Kununur-
ra to the north (see R.W. Young 1987), where thin
slab exfoliation has occurred in the relatively recent
past and left bare unfretted faces which do not show
evidence of case hardening; this may indicate either
inactivity of case hardening or just very slow
hardening.

The evidence for solution and weakening of the
rocks is very clear, but the period over which this
has occurred is much more difficult to establish.
Caves and dolines in sandstone have usually been
attributed to removal of silica in acidic solutions
under tropical humid conditions (Pouyllau and
Seurin 1985) where there is an abundance of organic
molecules. Palaeoclimatic data from Australia indi-
cate that much of the continent had a rainforest
cover under which deep weathering profiles and
lateritized surfaces developed until at least the
middle Miocene when grasslands became common
(Kemp 1981). However, laboratory studies of the
solubility of silica show that this is greatest when pH
is high and that it is enhanced by high chloride
concentrations (A.R.M. Young 1987). Potassium
chloride crystals have been found in close associa-
tion with etched quartz grains in the Kimberley
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Figure 7.7 Kings Canyon, central Australia, with bedding forms of the sandstone exposed (photo M.]. Selby).

sandstones. Whether much, or all, of the solution
took place in humid or in arid conditions is not clear,
but it seems probable that it may have occurred in
both of these extreme tropical environments.

Some of the landforms described in this section
have very similar forms to those found closer to the
heart of the Australian arid zone near Alice Springs,
where annual rainfall is in the range of 200 to
300mm (Slatyer 1962). The horizontally bedded
sandstones of Kings Canyon area (Fig. 7.7), for
example, exemplify a joint-controlled incised land-
scape in which the canyon walls have a generally
convex form and stand above flat-floored valleys and
pediments.

Local controls by hard bands in the rock create a
waterfall and plunge pool long profile to channel
beds. Local rock falls are of greater significance here
than they are in the Bungle Bungle. Whether or not
solution of the silicate rocks has played any part in
the evolution of these landforms is unknown.

The case for calling landforms developed under
dominant solution processes ‘karstic’ has been made
by Jennings (1983). These are relatively common in
the tropical zone of the Gondwana continents and
are of significance in several desert areas. The extent
to which they are wholly or only partly inherited
from humid environments is unclear.

ETCH PROCESSES AND INHERITED FORMS

Discussions of the development of hillslopes in
terms of rock resistance to modern processes and of
the effect of modern processes are inevitably limited
in their relevance to slopes which may have a
history of 100 m.y. or more. The idea of very long
periods for landscape development in the core zones
of the continents is not new and has a history which
can be traced back at least to Suess (German edition,
1885-1909; English edition, 1904-1924) who intro-
duced the word ‘shield” for describing the exposed
nuclear core of each major land mass. The addition
of the word ‘craton’, by Stille (1924) to distinguish
the long-stabilized foundations of Precambrian age
of every continent, added to the recognition of great
geological age for extensive parts of all continents.
Only the platforms of relatively undeformed
sedimentary rocks deposited predominantly during
marine transgressions, the marginal mobile belts,
and the hotspot generated zones of volcanism and
rifting disturb the pattern of continental stability.
The relevance of these comments to desert hillslopes
is that many of the world’s most extensive deserts
are on cratons and may therefore have had upland
masses with a long evolutionary history for their
hillslopes.



Remote sensing has given a clear indication of
both the extent of bedrock exposures and of features
veneered by thin cover beds on desert cratonic
surfaces (for example, Brown et al. 1989; Burke and
Wells 1989). Broad swells and undulations of crato-
nic surfaces and continental rifting with elevation of
rift margins may be attributable to mantle convec-
tion. It has been suggested by Fairbridge (1988) that
tectono-eustasy related to seafloor spreading has
given rise to a thalossostatic condition linked to a
biostatic regime (Erhart 1956) marked by a world-
wide moist and warm climate with low relief,
continuous vegetation cover, abundant non-seasonal
rainfall, and strong biochemical weathering. This
thalossostatic condition alternated with a disturbed
or rhexistatic state in which high-standing continen-
tal surfaces (epeirostatic conditions) with low base
levels, rejuvenation of fluvial systems, land erosion,
seasonal rainfalls, zonally contrasting climates,
formation of deserts, and monsoonal weather pat-
terns were major features. Cratonic regions, accord-
ing to this concept, tend to be characterized
throughout geological history by alternation of che-
mical leaching, weathering, and duricrust formation
with periods of erosion, desiccation, and offshore
deposition.

Whether or not this grand but simple scheme is
valid, it does add a possible explanation for the clear
evidence of periodic stripping of weathering mantles
from cratonic surfaces with the consequence that
many hillforms, and especially those of inselbergs
and related forms, have features that have been
attributed to weathering beneath deep regoliths,
followed by erosional stripping of the mantles and
exposure of bedrock.

The idea of nearly world-wide cratonic weathering
mantles was most vigorously expressed by Budel
(1957) and has subsequently been vigorously
espoused as the basis of many geomorphological
explanations by Ollier (1988), Thomas (1989a, b),
and Twidale (1990). The essence of the theory is that
deep weathering mantles are developed through the
action of meteoric waters penetrating along joints
and fissures and progressively forming a mantle of
saprolite which may extend to depths of tens or
even hundreds of metres. The processes of alteration
are fundamentally chemical, with the production of
a residual soil which is leached of soluble material
and which is depleted of the colloids removed by
drainage waters. That the saprolite is formed with-
out loss of volume is indicated by the survival in it of
relict joints, veins of quartz and other structural
forms derived from the original bedrock. The loss of
mobile elements leaves a low-density residuum.
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Weathering mantles commonly develop two major
zones: an upper unsaturated zone which has a red
coloration and is oxidized and a lower saturated
zone which has white to pale green coloration and a
reducing environment. The boundary between the
two zones is the water table which fluctuates in level
seasonally or as a result of storms and droughts. At
depth a zone is reached where joints are closed,
water cannot penetrate, and therefore weathering
cannot operate; this is the basal weathering front.
All that is required for deep weathering is deep
penetration of ground water in the liquid state (i.e.
not frozen) and time. There is no necessary rela-
tionship between climate at the ground surface and
chemical weathering at depth. At depths ranging
from about one to ten metres, depending upon
climatic zones and penetration of fresh water, soil
temperatures are constant at the mean annual sur-
face temperature. At greater depths the geothermal
heat flow controls soil temperatures. The availability
of ground water depends mostly on fresh inputs
from percolation but is commonly available as ‘old’
water in arid and semi-arid zones.

It has been pointed out by Habermehl (1980) and
Ollier (1988) that the Great Artesian Basin of Austra-
lia has ground water extending to depths of 3000 m,
so weathering by hydrolysis can also extend to this
depth. Stable isotope studies show that the water is
of meteoric origin (not connate) and flow rates
indicate that it takes two million years for the
ground water to flow from recharge areas to dis-
charge zones in artesian springs. The present land
surface is a desert, but weathering of the basal rock
is occurring under the control of geothermal heat
and Pliocene, or early Pleistocene, meteoric water.
The Great Artesian Basin is, no doubt, an extreme
example but it illustrates the general principle.

Deep weathering profiles have often been associ-
ated with current humid tropical climates, perhaps
because the surfaces of cratons which are now
within the tropics have many land surfaces formed
upon deeply weathered mantles. There is increasing
evidence that some weathering profiles are of great
age; in Australia, for example, Mesozoic and early
Cenozoic ages are recognized (Idnurm and Senior
1978). More widely it has been recognized that relics
of deep weathering profiles occur in areas which are
far from the tropics. Hack (1980) noted saprolite in
the Piedmont and Blue Ridge areas of the Appa-
lachians with an average depth of 18 m and a
maximum depth which may exceed 90 m; Hall (1986)
identified preglacial saprolites in Buchan, Scotland,
up to 50m deep, and in the Gaick area of the
Grampian Mountains up to 17m (Hall 1988);
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Figure 7.8 Devils Marbles, central Australia, which have been interpreted as residual etchforms developed within a
weathering mantle which has now been stripped (photo M.J. Selby).

Bouchard (1985) has found saprolites up to 15m
thick at protected sites covered by Quaternary ice
sheets in Canada.

The relevance of all of these observations for an
understanding of hillslope development in the mod-
ern desert zones is that many features now visible
may have developed at the basal weathering front
and later been exposed at the ground surface as
regolith was stripped in periods of rhexistasy.

ETCH FORMS OF DESERTS

The recognition that boulders, and other minor and
major forms, have developed within weathering
mantles and at the weathering front has a long
history which goes back to the beginning of modern
geology (Twidale 1990). These forms when exposed
by mantle stripping are collectively known as etch
forms (Wayland 1933). Weathering fronts are parti-
cularly sharp in granitic and other crystalline rocks
of low permeability. The front is more diffuse, and
essentially a zone, in the weaker sedimentary rocks.
Crystalline rocks commonly form the bedrock of
cratons, and the various associations of boulders

recognized as boulder-strewn platforms (Oberlander
1972), tors or koppies (Fig. 7.8) are readily identified
as remnants of corestones because corestones are
common in exposures through weathering mantles.
Perhaps more significant was the proposal by Fal-
coner (1911) that the inselberg landscapes of north-
ern Nigeria were shaped not by epigene processes
but by chemical action of waters acting at the
weathering front. Furthermore, he recognized that
the variations in depth of penetration of the front
were controlled by the spacing of joints in the
bedrock. The result of mantle stripping was there-
fore an irregular land surface with inselbergs stand-
ing above plains with residual mantles of varying
depth. Such ideas were elaborated into a system of
geomorphological evolution of the cratonic surfaces
by Budel (1957, 1982).

The evidence in favour of the concept of etchforms
developing on cratonic surfaces is now very strong.
It indicates the development of currently exposed
land surfaces over periods of 100 m.y. or more. This
timespan far exceeds the period of existence of the
world’s major deserts which are mid to late Tertiary
in origin (see Selby 1985 for a review). The obvious



conclusion is that many of the major hill mass and
plain landforms had an origin beneath deep weath-
ering mantles of ancient origin. Subsequent mantle
stripping has exposed them to subaerial processes of
weathering and erosion. In the time since exposure,
denudation of bare rock has been sufficient for many
hillslopes to achieve slope angles which are in
equilibrium with the mass strength of their rocks,
but on hillslopes formed of massive rocks with little
pre-existing jointing the possible controls on form
include survival of etch forms; survival of the
original form through stress release joints develop-
ing nearly parallel to the original rock surface; the
development of cross fractures which permit an
incomplete adjustment to the slope angle controlled
by rock mass strength; survival of structural in-
fluences and controls; dominance by solution pro-
cesses; control by talus covers and formation of
Richter-denudation slope units; undercutting of up-
per slope units by sapping, stream action, or reces-
sion of an underlying weak rock unit.

SLOPES IN LAYERED ROCKS
by Alan D. Howard

Many desert areas are underlain by generally flat-
lying sedimentary rocks of varied composition,
sometimes intermingled with tabular intrusive or
extrusive volcanic rocks. Examples include the Col-
orado Plateau in the south-western United States,
North Africa, the Arabian peninsula, and portions of
the other major deserts. The erosion of such
sedimentary sequences creates a landscape of scarps
or cuestas capped by the more resistant rock units.
By contrast, a few desert areas, such as the Zagros
Mountains region of Iran, have complex patterns of
cuestas, hogbacks, strike valleys, etc. developed in
strongly folded or faulted layered sedimentary
rocks. The discussion here will focus on the simple
cuesta landforms of flat or inclined beds, although
the general principles are applicable in areas of more
complicated structure.

The classification of rock slope types introduced
by Selby (1980, 1987) and Moon (1984b) can also be
applied to cuesta landforms. Figure 7.9 shows a
classification of slope elements on an eroded anti-
cline in layered rocks. Strength equilibrium slopes
(shown by =) occur primarily on cliff faces eroded
by small rockfalls, but where such cliffs are actively
eroded by stream undercutting (+U+) they may be
steeper than strength equilibrium. Scarp faces domi-
nantly eroded by landslides may be less steep than
strength equilibrium and those dominantly wasted
by rockfalls involving the entire cliff face may be
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steeper than strength equilibrium. Structurally con-
trolled slopes (—S—) occur where erosion of weaker
layers exposes the top surface of resistant rocks.
Normal slopes in weak rock (typically badlands with
shallow regolith) are shown by —E—. Rampart
slopes in weak rocks below cliffs of resistant rock
will generally be talus (—D—) or Richter slopes (not
shown).

In a general sense cuestas are an automatic adjust-
ment of the landscape to permit rocks of varied
erosional resistance to be eroded at roughly equiva-
lent rates (Hack 1966). When a resistant rock layer is
first exposed the erosion rate diminishes on the
exposed top of the resistant layer as the overlying
weaker rocks are removed, often creating lithologi-
cally controlled near-planar upland surfaces called
stripped plains. As the resistant layer becomes more
elevated relative to surrounding areas of weaker
rocks, the caprock is eventually breached, exposing
underlying weaker rock units, whose rapid erosion
creates a steep scarp and accelerated caprock erosion
by virtue of the steep gradients relative to the
superjacent stripped plain. This discussion of such
scarps is organized into two general headings:
evolution of scarps in profile and evolution of scarp
planforms. Examples are taken primarily from the
Colorado Plateau, south-western United States.
Additional illustrations of the features described
here and a road log of sapping and geologic features
are given in Howard and Kochel (1988).

EVOLUTION OF SCARPS IN PROFILE

Resistant sandstones, limestones, and volcanic flows
and sills in desert areas are generally exposed as
bare rock slopes except where mantled with aeolian
sands or alluvium. However, areas of very low
relief, such as stripped plains, may be mantled with
sandy, cobbly, poorly horizonated soils and scrubby
vegetation. Two morphological end members char-
acterize the resistant rock exposures, low to high
relief slopes in massive rock (in particular, the
rounded sandstone exposures termed ‘slickrock’)
and cliff or scarp slopes developed where the cap-
rocks are being undermined. Emphasis in this sec-
tion is placed on scarp-front processes and morphol-
ogy. An intermediate landform type, termed seg-
mented cliffs by Oberlander (1977), will also be
discussed.

The more readily weathered and eroded rock
units, generally shales or poorly cemented sand-
stones or alluvium, are commonly eroded into bad-
lands where they are thick (Chapter 9). But in areas
with thick interbedded caprock-forming units the
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Figure 7.9 Identification of landform elements on cuestas in folded rocks (from Selby 1987, fig. 15.13).

easily eroded strata are usually exposed primarily on
the subcaprock slopes or ramparts. Terms used here
to describe the characteristic parts of an escarpment
are shown in Figure 7.10. Several alternative terms
have ‘been used to denote the rampart, including
subtalus slope (Koons 1955), debris-covered slope
(Cooke and Warren 1973), footslope (Ahnert 1960,
Oberlander 1977), lower slope (Schmidt 1987), and
substrate ramp (Oberlander 1989).

The exposure of weaker strata (generally shales or
poorly cemented and/or highly fractured sand-
stones) beneath massive sandstones causes under-
mining of the sandstone, leading to cliff develop-
ment and rapid scarp backwasting. A far greater
volume of rock is initially broken up by scarp retreat

than by erosion on backslopes when considering
average rates over large areas. Because of the rapid
retreat of scarp slopes, the cliffs generally eat back
into pre-existing backslopes. Figure 7.11 shows an
example where updip exposure of shale near the
stream level (right side of picture) has caused de-
velopment of cliffs and their backwasting into sand-
stone slickrock slopes; such undermining was dis-
cussed by Ahnert (1960) and Oberlander (1977). The
relief developed on scarp backslopes depends upon
the erodibility of the caprock unit compared with
overlying units, the thickness of the caprock, the
types of weathering and erosional processes acting
on the exposed rock, and rates of basel level
lowering.
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Figure 7.10 Escarpment components. The face is the vertical to near-vertical cliff developed at the top of the escarpment
mostly in the caprock but occasionally extending into the non-resistant layer beneath. The rampart is a slope of lesser
inclination extending from the bottom of the face to the base of the escarpment which is commonly partly mantled with
debris from backwasting of the face (from Howard 1970, fig. 55).

Figure 7.11 Landforms of De Chelly Sandstone north of Kayenta, Arizona along US Highway 163. Slickrock slopes to left
give way to vertical scarps at right where undermining is active due to exposure of shaly Organ Rock Tongue at the base

of the scarps (photo A. Howard).

Processes of Scarp Erosion

Wasting of caprocks occurs primarily by rockfall,
block-by-block undermining, and slumping. Some
sandstone caprocks (e.g. the Morrison Formation of
the American South-west) are undermined block-by-
block by weathering and erosion of the underlying
shale without rapid fall of the undermined blocks
(Fig. 7.12). The blocks may be repeatedly lowered
with little downslope sliding or rolling, but typically
the blocks slide and occasionally roll a short distance
upon being undermined. Block-by-block undermin-

ing requires a relatively thin caprock, well-de-
veloped jointing, and shale that weathers easily by
addition of water (e.g. the smectitic Morrison Shale).
Slumping is prevalent on relatively few escarp-
ments, where it may dominate as the mechanism of
scarp retreat (Fig. 7.13). The Toreva block slumps are
a classic example (Reiche 1937), and other examples
have been discussed by Strahler (1940) and Watson
and Wright (1963). Conditions leading to slumping
failure have not been firmly established, but a low
shear strength of the unweathered subcaprock unit
is probably the major factor. Low shear strength can
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Figure 7.12 Block-by-block undermining of channel sand-
stones in shales of Morrison Formation, near Hanksville,
Utah (a and b) (photo A. Howard).

result from low bulk strength or a high degree of
fracturing and/or abundant bedding plane partings.
Other factors may be deep weathering of the sub-
caprock unit by groundwater flow and high pore
water pressures. Landslide and rockfall processes
were summarized in Anderson and Richards (1987)
and Brunsden and Prior (1984).

Rockfall is the most common form of scarp retreat
(Fig. 7.14), involving events ranging from calving of
individual blocks to the failure and fall of a wide
segment of the face, resulting in a rock avalanche on
the scarp rampart. Debris produced by rockfalls with
high potential energy may result in powdering of a
large percentage of the original rock (Schumm and
Chorley 1966), but on most scarps the coarse debris
produced by the rockfalls must be weathered and
eroded before further scarp retreat can occur (Fig.
7.15). Weathering processes acting on the debris are
similar to those occurring on slickrock slopes, in-
cluding splitting or shattering, granular disintegra-
tion, and solution of cement (or the rock en masse in
the case of limestones). The necessity for weathering

Figure 7.13 Slump failure of Morrison-Summerville
escarpment near Hanksville, Utah (photo A. Howard).

of scarp-front debris before further erosion of the
subcaprock unit leads to a natural episodic nature of
rockfalls and scarp morphology, as outlined by
Koons (1955), Schipull (1980), and Schmidt (1987)
(Fig. 7.14). Where caprocks are eroded primarily by
large rockfalls continued erosion of the subcaprock
unit at the margins or base of the rockfall eventually
raise the debris blanket into relief, sometimes form-
ing subsidiary small escarpments where the debris
blanket is subject to further mass wasting. Thus old
rockfalls stand well above surrounding slopes of
both exposed subcaprock unit and younger rockfalls.
When these old rockfalls are contiguous with the
scarp face, they prevent the development of high
relief at the dliff face, and thereby inhibit further
rockfalls until the talus is weathered and eroded. In
some cases the talus at the foot of the rampart
becomes isolated from the scarp face as erosion of
the subcaprock unit continues, forming a talus
flatiron (Koons 1955, Schipull 1980, Gerson 1982,
Schmidt 1987). Talus flatirons thus formed have
been termed non-cyclic flatirons as contrasted with
similar features resulting from climatic fluctuations
(Schmidt 1989a) (Chapter 21). Schmidt (1987, 1989a)
suggested that flatirons are best developed in scarps
with heterogeneous subcaprock strata, including
beds of variable resistance and slope inclination.
However, flatirons are also well developed on the
scarps of the Colorado Plateau composed of massive
sandstones over homogeneous marine shales. Ger-
son and Grossman (1987) noted that flatirons are
absent on desert scarps lacking a strong caprock
over a weaker subcaprock unit.

Most prominent scarps on the Colorado Plateau
are formed of massive sandstone underlain by shale
or other easily weathered rock, so that backwasting
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Figure 7.14 Portion of escarpment of Emery Sandstone over Mancos Shale on North Caineville Mesa near Hanksville,
Utah, along Utah Highway 24. Note extensive deposits of rockfall debris that are dissected by continuing erosion of shale
on rampart. Cliff in alcove extends far into the underlying Mancos Shale. Seepage line is present at base of the Emery
Sandstone in the alcove. High debris blankets to right and left of alcove that extend upward to the base of the sandstone
are strongly dissected at their base. Presence of the debris blanket inhibits further scarp backwasting until the debris is
weathered and eroded. These high debris blankets are probably a Bull Lake equivalent (Illinoisan?) pluvial deposit. The
badlands in the foreground resulted from dissection of a Bull Lake pediment extending from the escarpment to Bull Lake
gravels (now terraces) along the Fremont River behind the photographer (photo A. Howard).

is caused by a combination of weathering of exposed
caprocks (e.g. off-loading fracturing, freeze-thaw,
and groundwater sapping) and loss of bulk strength
of the underlying layer accompanied by erosion of
the scarp rampart. However, some of the incompe-
tent layers producing scarps are strong in bulk but
are eroded primarily because of denser fracturing
relative to more massive (but not necessarily stron-
ger) overlying sandstones (Oberlander 1977, Nicho-
las and Dixon 1986). Creep of subcaprock shales has
been implicated in breakup of caprocks (block glid-
ing) in humid environments (e.g. Zaruba and Mencl
1982) but has not been noted on desert scarps. It is
possible that slight creep or off-loading expansion in
shales may locally be a factor in development of
off-loading fractures in overlying sandstone cap-
rocks. Gravity-induced creep of evaporite beds has
been suggested as the mechanism responsible for
creating the miniature horst and graben structure of
the Needles District in Canyonlands National Park,
Utah (McGill and Stromquist 1975).

Although rockfall and slumping are the major
transport processes in scarp backwasting, weather-
ing and erosion by groundwater commonly can be

as, or more, important in weakening the scarp face
than is undermining by erosion of the rampart. The
role of groundwater sapping is discussed separately
below.

The amount of caprock talus exposed on scarp
ramparts depends in part on the planform curvature
of scarps, being greater in re-entrants where caprock
debris converges on the lower rampart and lesser in
front of headlands or projections (or around small
buttes) where debris is spread radially. The amount
of debris is also controlled by spatial variations in
rates of scarp retreat (generally higher at the head of
re-entrants) and by the volume of caprock eroded
per unit amount of backwasting, which is higher in
re-entrants and lower at headlands.

Scarp ramparts are eroded by a variety of proces-
ses, including normal slope and rill erosion where
the subcaprock unit is exposed and weathering and
erosional processes act on caprock detritus. Weath-
ering processes on talus include frost and/or hydra-
tion splitting or shattering, spalling due to salt
crystallization (primarily on unexposed surfaces),
granular disintegration, and solution. The relative
mix of these weathering processes depends upon
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Figure 7.15 Recent rockfall in Navajo Sandstone in the Inscription House area of the Navajo indian reservation showing
abundant rockfall debris (photo A. Howard). Cliff above rockfall is approximately 30 m tall.

the size and composition of the talus. Calcareous-
cemented sandstones, common on the Colorado
Plateau, are primarily shattered in large blocks, but
succumb to granular disintegration in small blocks,
yielding easily eroded sand-sized detritus. On the
other hand, siliceous-cemented sandstones do not
weather by granular disintegration, and large blocks
of caprock commonly remain behind as the scarp
retreats (Fig. 7.12b).

Where caprock debris is copious or very resistant,
the talus material may be reworked several times
before its final removal due to continuing erosion of
the subcaprock unit, forming elevated blankets
eroded at its margins as subsidiary scarps (e.g. the
flatirons discussed above), development of indi-
vidual rocks on subcaprock unit pedestals (damois-
selles), or less dramatic undermining and rolling of
individual boulders. Slopewash and gullying are
important in removing sand- to gravel-sized weath-
ering products, and some talus blankets are exten-
sively modified by, or even emplaced by, wet debris
flows (Gerson and Grossman 1987).

Absolute and Relative Rates of Scarp Erosion

A variety of methods has been used to date
regional rates of scarp retreat in desert areas, includ-
ing archaeological dating (Sancho et al. 1988), be-
heading of consequent valleys (Schmidt 1980,
1989b), stratigraphic relationships with dated vol-
canic or sedimentary deposits (Lucchitta 1975), and
age of faulting initiating scarp retreat (Yair and
Gerson 1974). Inferred retreat rates vary over two
decades from about 0.1 to 10m 1000y~ ' (Schmidt
1988, 1989b, Oberlander 1989). The primary long-
term controls over erosion rates are rate of base level
lowering and rock dip, as discussed below. Howev-
er, short-term erosion rates are strongly influenced
by climate variations and climate-related changes in
local base level.

The relative rates of erosion on different parts of
cuestas can be illustrated by considering, as a first
approximation, that the form elements maintain a
constant gradient and a constant position relative to
the stratigraphic layers through time. These assump-
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Figure 7.16 Erosion of a compound hillslope under the assumptions of (a), uniform rate of downwasting on all slope
elements, and (b), maintenance of correlations between slope elements and stratigraphic units. Both assume that
gradients of the respective elements remain constant through time. Under the first assumption (a) the volume of material
removed increases with decrease of gradient, whereas the volume decreases in (b) (from Howard 1970, fig. 56).

Figure 7.17 Definition of angles and slope elements on escarpments in dipping strata (from Howard 1970, fig. 58).

tions require a constancy of both stream erosion and
slope processes through time, which probably
approximates the long-term average behaviour of
scarp erosion but not the short-term changes due to
climatic fluctuations. The assumption of a constant
position of slope elements relative to the stratigra-
phy (Fig. 7.16b) is clearly a closer approximation to
scarp evolution than the assumption that slope
elements retain a constant position through time
(i.e. a constant rate of vertical erosion on all ele-
ments of the scarp (Fig. 7.16a)).

In horizontal stratified rock these assumptions
predict a rate of vertical erosion proportional to the
slope tangent, whereas the horizontal rate of erosion
(lateral backwasting) is identical on all slope ele-
ments (Fig. 7.16b). This implies an infinite rate of
downwasting for a vertical cliff, which is an artifact
of considering cliff retreat as continuous erosion
rather than as discrete events such as rockfalis.
Therefore, as mentioned above, on a typical escarp-
ment the downwasting of the slickrock slope on top

of the caprock is very slow compared with both cliff
retreat and vertical erosion below the rim.

The relative rates of erosion on various slope
elements are also affected by the structural dip. If all
form elements erode at an equal rate parallel to the
structure (that is, in a downdip direction) with
constant gradient, then the instantaneous rate of
vertical downwasting V; is given by the structural
dip d, the slope angle s, and the rate of downdip
backwasting of the escarpment D,. Where the slope
is inclined with the dip (Fig. 7.17a),

Vi = Dy(sind — cosd tans), for 90°>d >s>(0°

and (Fig. 7.17b), (72)

Vi = Dy(tans cosd — sind), for 90°>s>d > (°
(7.3)

Where the slope opposes the structural dip (Fig.
7.17a):

Vi = Dy(sind + cosd tans), for 90°>s>0°. (7.4)
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Figure 7.18 Relief of escarpments in dipping strata as a function of the angle of dip for two sandstones sandwiched
between over- and underlying shales. Relief is measured from crest of escarpment to base of scarp rampart (see Fig. 7.10).
Each data point is a measurement from a separate location along the western edge of the Henry Mountains, Utah. A
least-squares regression line has been fitted to observations from each sandstone scarp (based on Howard 1970, fig. 59).

During continued downcutting by streams drain-
ing the escarpment, the relief should adjust until
downdip exposure of new caprock and updip re-
moval by backwasting are roughly balanced. There-
fore the rate of vertical reduction of the rim should
be independent of the dip (maintaining a constant
relief through time), whereas horizontal retreat of
the escarpment would be inversely proportional to
the tangent of the dip, and the volume of caprock
eroded per unit time would be inversely proportion-
al to the sine of the dip. The very rapid rate of
horizontal retreat predicted for low dips does not
occur because the escarpment becomes segmented
by erosion along drainage lines into isolated mesas
and buttes whose local relief, distance from the main
escarpment, and rate of backwasting increase
through time. Nevertheless, these considerations
imply that, in general, a greater volume of rock must
be eroded per unit time from gently dipping scarps
than from steeper ones. The gradients and total
relief on a given scarp should increase where the
structural dip decreases to maintain relatively con-
stant rates of vertical reduction of the rim. Figure
7.18 compares relief of escarpments on two sand-
stones in the Henry Mountains area, Utah, as a
function of the reciprocal of the sine of the dip,
showing that there is a relationship of the type
predicted for the Emery Sandstone. The relationship
is poor for the low escarpment of Ferron Sandstone.
Areal variations in fluvial incision at the scarp base
since the Bull Lake glacial maximum (varying from

about 60 m along Fremont River to a few metres in
remote locations) may be responsible for the large
scatter for this low scarp.

The overall height and steepness of a given scarp
should be controlled by one of three factors: (a)
development of sufficient relief to trigger caprock
mass wasting (which will be related to caprock
resistance); (b) the rate of weathering and erosion of
caprock debris on scarp ramparts; and (c) the rate of
erosion of the subcaprock unit.

Caprock resistance has been suggested as a con-
trolling factor by Schumm and Chorley (1966),
Nicholas and Dixon (1986) (who related scarp back-
wasting rates to degree of fracturing of the lower
caprock unit), and Schmidt (1989b) (who found a
strong relationship between regional backwasting
rates and the product of caprock thickness and a
measure of caprock resistance). To the degree that
scarps adjust over long time intervals to balance rate
of caprock removal with long-term rates of base level
lowering (i.e. V, in Equations 7.2-7.4 is areally
uniform), relationships between backwasting rate
and caprock resistance of the type found by Nicholas
and Dixon (1986) and Schmidt (1989b) cannot be
universally valid (although local variations in back-
wasting rates on a given scarp may be related to
caprock resistance as found by Nicholas and Dixon
(1986) due to exposure of zones of caprock of
differing resistance to erosion). Rather, the back-
wasting rate D; will adjust to be a function only of
rock dip and regional erosion rate V,. As suggested



above, overall scarp height and steepness adjust to
equalize erosion rates, and these should be related
to caprock resistance and thickness (the scarps in the
thin Ferron Sandstone are lower than those of the
massive, thick Emery Sandstone (Fig. 7.18)). It
seems reasonable that a threshold scarp steepness
and/or height would be required to trigger the more
energetic types of mass wasting processes, such as
rock avalanche and landsliding. Block-by-block
undermining small rockfalls and caprock weakening
by groundwater sapping are less clearly related to
overall scarp relief.

Koons (1955) emphasized that accumulated cap-
rock talus protects the caprock from further large
rockfalls until it is removed. Koons (1955) and
Howard (1970) suggested that the length of the
rampart self-adjusts over the long run to provide a
surface area sufficient to weather talus at the rate
that it is supplied. Schumm and Chorley (1966)
introduced the talus weathering ratio, which they
defined as the ratio of the rate of talus production
from the cliff to the rate of talus destruction on the
rampart. They noted that a ratio greater than unity
leads to a moribund scarp choked in its own
detritus, similar to the models of Lehmann (1933)
and others (summary in Scheidegger 1991, pp.
130—4). Schumm and Chorley (1966) suggested that
ratios less than unity characterize certain nearly
debris-free scarps encountered on the Colorado
Plateau. However, over the long run, continuing
scarp retreat implies the talus weathering ratio
equals unity, since only as much talus can be
weathered as is produced (Gerson and Grossman
1987, Howard and Kochel 1988). This concept can be
illustrated by letting P equal the volumetric rate of
supply of caprock talus per unit time per unit width
of scarp, K equal the potential volumetric erosion
rate (either weathering- or erosion-limited) of talus
per unit area of scarp rampart, and L the required
rampart length. Then for balance of addition and
removal

L =PK (7.5)

However, as discussed below, this ratio may vary
considerably as a result of climatic fluctuations as
well as local short-term imbalances of P and K, as
discussed by Koons (1955). Since talus on ramparts
is composed of caprock debris, scarp relief controlled
by talus weathering will be indirectly controlled by
caprock resistance.

The rate of erosion of the subcaprock bedrock
(commonly shales) has been cited as the controlling
factor for scarp erosion rates by Gerson and Gross-
man (1987) and Schipull (1980). Strictly speaking, if
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the rate of subcaprock bedrock erosion were the
dominant factor in scarp retreat, scarps should not
be higher or different in form than other slopes in
the subcaprock unit where no caprock is present.
None the less, it is true that base level control is
transmitted to the scarp via the channels and slopes
developed in the subcaprock unit.

It is likely that these three factors vary in relative
importance in controlling scarp form from scarp to
scarp, from place to place on the same scarp, and
through time as climate and/or base level control
varies. Scarps that backwaste largely by rockfall are
most likely to have planforms controlled over the
long run by requirements for weathering of caprock
debris, leading to the observation that 50 to 80% of
the scarp front is covered by talus at equilibrium
(Gerson and Grossman 1987). As will be discussed
further below, many scarps on the Colorado Plateau
are quite stable under the present climatic regime, so
that the ramparts are nearly bare of talus, and tall
cliffs have developed in both the caprock and in the
subcaprock shales. Thus both base level control and
talus weathering at present have little influence on
scarp form, and the backwasting that does occur is
largely due to caprock weathering and small rock-
falls. On the other hand, for escarpments characte-
rized by block-by-block undermining (Fig. 7.12)
caprock resistance is less important than erosion of
the subcaprock shales. In fact, where the caprocks
consist of hard-to-weather silica-cemented sand-
stones, caprock boulders may be gradually let down
by undermining and rolling while the escarpment
continues to retreat, leaving piles of large caprock
fragments (Fig. 7.12b).

Schmidt (1989b) noted that very resistant caprocks
often include less resistant beds in the subcaprock
strata that, in the absence of the more resistant
overlying bed, would independently form scarps. In
sections of scarp that are linear or indented, debris
shed from the overlying caprock largely prevents
development of subsidiary lower scarps, but in front
of headlands, where rapid retreat of the main
caprock and radial dispersal of its detritus leave the
subcaprock units largely free of talus, the lower
resistant units commonly form low scarps.

Backslopes on Caprock

In the classic case of a scarp composed of a thin
resistant layer sandwiched between thick, easily
eroded strata (Fig. 7.10) the caprock is exposed as a
low-relief stripped plain on the scarp backslope, and
caprock erosion occurs primarily at the scarp face.
However, when the caprock is thick, erosional
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Figure 7.19 Polygonal superficial fracturing of Navajo Sandstone along Utah Highway 12 west of Boulder, Utah.
Individual ‘elephant-hide’ polygons are about 1 to 2 m in size (photo A. Howard).

sculpting of the backslope may be as or more
important than the lateral attack at scarp faces.
Landform development on thick, homogeneous
rocks is discussed in the Slopes in Massive Rocks
section, but processes and landforms on slickrock
slopes are outlined here because of their importance
in development of segmented scarps.

The striking and unusual slickrock slopes occur on
desert sandstone exposures as low, generally rolling
relief on bare rock slopes (Figs 7.11 and 7.19). Hill
forms are generally convex to convexo-concave and
rather irregular due to the prevalence of small-scale
structural and lithologic controls exerted by the
exposed rock upon weathering and erosional proces-
ses. Slickrock slopes occur most commonly on the
backslopes of cuestas, but high relief forms occur in
thick, massive sandstones such as the Navajo Sand-
stone. Where strong structural control by jointing or
faulting occurs, the fractures tend to be eroded into
furrows or valleys, and the sandstone landscape
takes on a reticulated or maze-like appearance as at
Arches National Park, Utah. Doelling (1985) noted
that sandy colluvium collecting along depressions
developed on joints accelerates weathering of the
sandstone by providing a moist environment; thus
the influence of fractures on the topography is
enhanced by a positive feedback on weathering

rates. Small-scale horst-and-graben development
associated with extension caused by flow of under-
lying evaporites has created the ‘needles’ section of
Canyonlands National Park, Utah (McGill and
Stromquist 1975).

Slickrock slopes are weathering-limited (Carson
and Kirkby 1972, pp. 104-6) in that transport proces-
ses are potentially more rapid than weathering
processes. That is, loose debris is removed from the
slopes as fast as it is produced by weathering so that
little or no loose residuum covers the bedrock. On
slickrock slopes the bedding is emphasized by the
grain-by-grain loosening or disintegration of thin
surface crusts or whole layers of the sandstone
exposed on these weathering-limited slopes, particu-
larly on exposures of the massively cross-bedded
Navajo Sandstone (Fig. 7.20). Coarser sand layers
with fewer grain-to-grain contacts weather and
loosen most readily, aiding differential surface ex-
pression of minor lithologic variations (Hamilton
1984). Despite these microscale lithologic controls,
the slickrock slopes generally show only minor form
control by bedding and the fairly planar to rounded
slopes cut across bedding planes (Figs 7.11, 7.19).

The major reason for development of smooth,
generally convex slopes is the development of ex-
foliation or sheeting fractures in massive, poorly
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Figure 7.20 Expression of bedding in slickrock slopes in Navajo Sandstone near Utah Highway 12 west of Boulder, Utah

(photo A. Howard).

jointed (referring here to pre-existing regional or
systematic jointing) sandstones such as the Navajo
Sandstone (Bradley 1963). The fracturing may be due
to stress relief (Bradley 1963), expansive stresses due
to weathering of near-surface beds (Hamilton 1984),
and possibly freeze-thaw. These mechanisms pro-
duce lenticular sheets of thickness ranging from a
few centimetres to a metre or so, with more widely
spaced fractures below these, fading out within 10 to
20m from the surface. Thus the exfoliation joints
form ‘a crude, somewhat subdued replica of the
surface form’ (Bradley 1963, p. 521). Although grain-
by-grain removal of sand grains loosened by solu-
tion of the calcite cement or peeling of thin (<1 cm)
weathered rinds seems to be the dominant erosional
process, deeper weathering is indicated locally by
the presence of shallow jointing perpendicular to the
sandstone surface. In massive sandstones these
cracks create a network pattern with a scale of 1 to
5m that clearly wrap around existing topography,
creating an ‘elephant hide’ pattern (Fig. 7.19). Where
strong layering is exposed in cross-section, the

cracks follow bedding planes and also create frac-
tures cutting across the bedding, forming a ‘checker-
board” or ‘waffle’ pattern as at Checkerboard Mesa,
Zion National Park, Utah. The effective depth of
these fractures is probably about 1/5 to 1/2 their
lateral spacing. Hamilton (1984, pp. 32—4) suggested
the fractures result from cyclic near-surface volume
changes resulting from thermal cycling, wetting and
drying, or freeze-thaw.

In addition to exfoliation, any weathering process
that acts through some depth from the surface will
tend to erode away projecting masses due to the
greater surface area relative to volume and lead to a
‘grading’ of surface slopes, with a characteristic scale
of action of the same order of magnitude as the
depth of weathering (presumably a few centimetres
to a few metres). Such processes may include
solution of cement, weathering of feldspars and
clays, disruption of the rock along microfractures
and between grains due to differential volume
changes produced by temperature changes, freeze—
thaw, or shrink-swell of clays.
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Figure 7.21 Segmented scarp in Entrada Sandstone at Arches National Park, Utah, showing slickrock slopes, slab walls,
and effective partings at base of slab walls. Note that the prominent slab wall in the middle of the scarp at left dies out
before the centre of the photo due to pinching out of the effective parting (photo A. Howard).

Segmented Scarps

Many areas of moderate relief on sandstones on the
Colorado Plateau exhibit a complex topography
embodying both elements of slickrock morphology
and of scarps. Such landscapes developed in the Slick
Rock member of the Entrada Sandstone at Arches
National Park, Utah, were the object of a compre-
hensive study by Oberlander (1977). In this area
slickrock slopes are interrupted by nearly vertical
cliffs which Oberlander termed slab walls due to
their erosion by failure along sheeting (off-loading)
fractures parallel to the scarp face. The slab walls
terminate at their base at indentations developed in
thin weak zones (partings) whose weathering and
erosion cause the slab wall backwasting (Fig. 7.21).
Partings that readily weather (effective partings) are
either closely spaced bedding planes with highly
fractured sandstone sandwiched in between, or are
one or more thin (2 to 5cm) layers of fissile
ferriferous shale. The partings commonly are of
limited horizontal extent, so that slab walls die out
laterally (Fig. 7.21). Some slopes may have more
than one slab wall where partings occur at two or
more levels.

Oberlander presented convincing evidence that

slope erosion occurs both by erosion of slickrock
slopes and slab wall backwasting. This, coupled
with intersection of new partings and lateral dying
out of other partings during slope retreat, leads to
progressive changes in slope profile form (Fig. 7.22).
In Oberlander’s model the gradient of slickrock
slopes below effective partings largely depends
upon the relative rates of scarp backwasting by
parting erosion and the rate of weathering and
erosion on the slickrock slopes, with gentler slick-
rock slopes associated with rapid parting erosion.
Sometimes backwasting at a parting may cease,
either due to playing out of the parting or local
conditions less conducive to parting erosion. In such
cases continued erosion of the slickrock slope below
the parting leads to development of a near-vertical
slope below the parting; such slopes were called
secondary walls by Oberlander. Such inactive slab
walls also commonly develop alveolar weathering,
discussed further below. An important conclusion of
Oberlander’s study is that thin partings in otherwise
massive bedrock cause a complicated slope form (in
particular the slab wall), so that slope breaks are not
necessarily an indication of lithologic contrast above
and below the break, but may imply only a thin
discontinuity.
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Figure 7.22 Development of scarp forms in massive sandstone through time and space. For simplicity a constant ground
level (dashed line) is assumed during scarp retreat, along with equal thicknesses of removal from major slab walls in each
unit of time. At A a through-going cliff is present due to sapping above a thin-bedded substrate. At B the thin-bedded
substrate passes below ground level, scarp retreat slows, and effective intraformational partings assume control of scarp
form. Effective partings close at C, E, F, G, H, and ], leading to local slab wall stagnation and rounding into slickrock.
Partings that open at D, E, F, G, and I, initiate growth of new slab walls. Note that the effect of former partings in rocks
that have been removed continues to be expressed in the form of slickrock ramps and concave slope breaks. Lowering of
ground level during backwearing would cause cliff extension upward from major contact (caption and illustration from

Oberlander 1977, fig. 8).

Similar slope forms occur in other sandstone units
on the Colorado Plateau, especially the Navajo
Sandstone and the Cedar Mesa Sandstone at Natural
Bridges National Monument, Utah. In these forma-
tions the slab wall is commonly strongly overhung
into a thin two-dimensional arch or alcove presum-
ably backwasted along sheeting fractures. One puz-
zling aspect of these prominent indentations is a
general paucity of mass wasting debris on the lower
floor. Schumm and Chorley (1966) cited the ready
breakup of the wasted debris as an explanation, but
slab wall failures from relatively short cliffs yield
abundant debris (Fig. 7.15), and the alcoves are a
relatively protected environment. Another possible
explanation is present-day inactivity of parting ero-
sion and resulting slab failure due to aridity. The
effects of climatic change on scarp morphology are
discussed further below.

Hoodoos and Demoiselles

A few scarps are sculpted into highly intricate forms,
such as occur at Bryce Canyon, Utah, and smaller
forests of boulders on shale pedestals called hoodoos
(Fig. 7.23). These forms occur where the caprock
unit is discontinuous but massive and the under-
lying shales are readily eroded where exposed to
rain but easily protected from weathering by slight
overhangs. Many scarps in the south-western Un-
ited States are composed of cliffs that extend well
below the caprock unit into the underlying shales
(Fig. 7.24). These cliffs are remarkably stable, having

persisted and grown vertically (downward) through-
out the Holocene (and late Pleistocene?), showing
the efficacy of overhangs as small as a few tens of
centimetres in restricting surface weathering of
shales in a desert environment. Typically the cap-
rock units are concretions or discontinuous interbeds
of cemented sandstones or limestones. They are
embedded in shales or shaly, poorly cemented
sandstones that typically erode into badlands where
relief is sufficient and caprocks are absent. Exposure
of the concretion or resistant interbed greatly re-
duces erosion rates while the surrounding shale

Figure 7.23 Hoodoos in Entrada Sandstone near Hanksvil-
le, Utah. Hoodoos are capped by resistant concretions,
whereas nearby poorly cemented sandy shales exhibit
regolith-mantled badland slopes. Hoodoos are often sup-
ported by thin pedestals of shale (photo A. Howard).
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Figure 7.24 Typical view of Morrison-Summerville escarp-
ment at Sandslide Point off Utah Highway 95 near Hanks-
ville, Utah, showing the cliff face extending into the
weakly resistant Summerville Formation, the badland ram-
part in the same formation abutting the escarpment face,
and the absence of debris on the rampart. Note that the
rampart is shallowly underlain by bedrock and is not a
colluvial apron (photo A. Howard).

badlands continue to erode, producing a dichotomy
in the shales between the vertical slopes protected
by the caprock and the subjacent badlands. Develop-
ment of stucco-like coatings of clay and lime by
vertical drainage on the shale cliffs may be a
contributing factor in protecting the shale from
erosion (Lindquist 1979). Rates of vertical erosion in
the shale badlands may be 40 times the rate of lateral
retreat of the vertical shale cliffs (Lindquist 1979).

Role of Sapping Processes in Scarp Erosion
and Morphology

Various geomorphologists have suggested that rock
weathering and erosion at zones of groundwater
discharge have contributed to the backwasting of
scarps and valleys in sandstones exposed on the
Colorado Plateau (Gregory 1917, Bryan 1928, Ahnert
1960, Campbell 1973, Laity and Malin 1985). General
discussions of groundwater sapping and its land-
forms have been provided in Higgins (1984),
Howard et al. (1988), Baker et al. (1990), and Higgins

and Osterkamp (1990). Laity and Malin (1985, p.
203) defined sapping as ‘the process leading to the
undermining and collapse of valley head and side
walls by weakening or removal of basal support as a
result of enhanced weathering and erosion by con-
centrated fluid flow at a site of seepage’. Higgins
(1984) distinguished between ‘spring sapping’
caused by concentrated water discharge and ‘seep-
age erosion’ resulting from diffuse discharge at
lithologic contacts or other lithologic boundaries.
This discussion addresses both the role of seepage
groundwater in scarp erosion and the development
of deeply incised valleys in sandstone by spring
sapping.

Such definitions of sapping and seepage erosion
are complicated by marginal and transitional situa-
tions. Scarp erosion processes that are clearly not
sapping erosion include plunge-pool undermining
and rock weathering by moisture delivered to the
scarp face by precipitation, condensation, or absorp-
tion of water vapour. However, other circumstances
are not as clear-cut. For example, water penetrating
into tensional and exfoliation joints close to cliff
faces may cause rockfalls as a result of freezing or
water pressure but would probably not be classified
as sapping by most geomorphologists. Similarly,
corrasional erosion of shale beneath sandstone by
water penetrating along wide fractures (termed sub-
terranean wash by Ahnert 1960) is similar to piping,
but probably should not be included as a process of
groundwater sapping. On the other hand, rockfall
caused by weathering of shales beneath a sandstone
scarp in which water is delivered by flow along
joints within the sandstone is more likely to be
considered to be sapping, even in the absence of
obvious water discharge along the scarp face.
Weathering processes resulting from intergranular
flow within sandstone would generally be consid-
ered sapping.

Groundwater flow plays an uncertain role in
weathering of the shales and weakly cemented
layers whose erosion causes scarp retreat in over-
lying sandstones. Oberlander (1977, 1989) men-
tioned spring sapping of shale partings as a possible
process of scarp retreat in segmented scarps.
Schumm and Chorley (1966), while providing ex-
periments and observations on surface weathering
of caprock units, essentially avoided the issue of
processes of caprock undermining. Koons (1955) was
similarly vague. Ahnert (1960) clearly felt that sap-
ping processes are of general importance in scarp
retreat in sandstone—shale scarps of the South-west,
but he provided little evidence. Laity and Malin
(1985) suggested that disruption of surface expo-



sures by salt crystal growth where seepage emerges
and sloughing of thin sheets of the bedrock are the
major processes of sapping erosion in massive sand-
stones, and that sapping is usually concentrated in
thin zones above less permeable boundaries within
or below the sandstone. This backwasting and
undermining of the overlying sandstone then occa-
sions development of slab failure and, locally, alcove
development associated with development of ex-
foliation jointing as outlined by Bradley (1963). Laity
and Malin primarily discussed spring sapping pro-
cesses occurring at canyon headwalls, and it is
uncertain the degree to which they felt sapping or
seepage erosion occurs more generally on sandstone
scarps. Observations reported below suggest an
important role of shallow groundwater circulation in
scarp retreat in sandstone-shale sequences of the
South-west under present climates.

Many scarps are indented by V-shaped re-entrants
or canyons excavated by erosion along streams
passing over the escarpment. Such erosion is gener-
ally considered to result from corrasion of the bed
(e.g. Howard and Kerby 1983) or from plunge-pool
action. However, examination of canyon heads in
sandstone suggests that sapping processes may play
a role in channel erosion, at least for washes with
drainage areas less than several square kilometres.
Washes passing over scarps in sandstone commonly
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occupy only a fraction of the total scarp width. In
addition, the scarps are commonly overhung when
developed in massive sandstone and plunge pools
are rare and small below the waterfalls. Even steep
streams on thin sandstone beds sandwiched be-
tween shale layers exhibit overhangs considerably
wider than the stream bed and show little develop-
ment of plunge pools. Much of the erosion of the
sandstone beds in such cases may occur due to
sapping, with a very localized water source from the
overlying stream. Additionally, small washes de-
veloped on slickrock slopes above scarps are com-
monly interrupted by solution pits and the washes
exhibit flutes and furrows that suggest that solution-
al removal of calcite cement is more important than
mechanical corrasion in bed erosion.

Weathering and erosion of sandstone by the
effects of crystal growth occur at a variety of scales
in sheltered locations. Steep slopes and scarps in
sandstone are frequently interrupted by rounded
depressions, often overlapping, which intersect
sharply with the general slope (Fig. 7.25). Such
alveolar weathering, or tafoni, occurs not only in
sandstone, but also in granites, tuff, and other
massive rocks (Mustoe 1982, 1983). Both accelerated
erosion in the hollows and case hardening of the
exposed portions of the slope (Conca and Rossman
1982) may contribute to development of tafoni. Salt

Figure 7.25 Alveolar weathering, or tafoni, developed in Navajo Sandstone at Capital Reef National Monument, along
Utah Highway 24. Note highway reflector for scale and uneroded ribs where surface wash occurs (photo A. Howard).
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Figure 7.26 Theatre-headed valley in Navajo Sandstone near Utah Highway 95 along North Wash (southern Henry
Mountains area). Note cottonwood trees and dark figure in wash at bottom centre of photo for scale. The active seep is the
dark band at the base of the alcove. Note the evidence of offloading fracturing. The stream passing over the top of the
alcove is clearly inadequate in size to have created the alcove as a plunge pool. Water draining down the face of the alcove
from the lip of the falls has created the dark streaks. However, delivery of water along the alcove walls occurs only locally,
and is insufficient to account for the backwasting of the alcove (photo A. Howard).

accumulations are often quite apparent in the caver-
nous hollows, and the backwasting results in spall-
ing of sheets of weathered rock up to a few
centimetres in thickness. Mustoe (1983) noted high
soluble cation contents in the spall detritus in tafoni
and the presence of the mineral gypsum. Laity
(1983) and Laity and Malin (1985) found calcite
deposition on spalling walls. The mechanisms by
which such mineral deposition may contribute to the
spalling include pressures exerted by crystal growth,
thermal expansion and contraction of the crystal-
filled rock, and expansion and contraction due to
hydration of deposited minerals (Cooke and Smalley
1968). Freeze-thaw disruption on the moist seepage
faces may also contribute, and spalling may be aided
by the weight of accumulated winter ice (Laity and
Malin 1985).

A surface protected from surface runoff is a
necessary condition for tafoni and alcove develop-

ment. On steep sandstone scarps surface runoff
commonly flows as sheets down the scarp, held by
surface tension on slightly overhung slopes. Such
runoff paths are commonly accentuated by rock
varnish. Where such runoff paths cross zones of
tafoni development, backwasting is inhibited, and
the tafoni are separated by columns that often
resemble flowstone columns in caves (Fig. 7.25).
Surface runoff might inhibit salt fretting simply by
solution and removal of salts brought to the surface
by evaporating groundwater or more actively by
case hardening of the exposed surface by deposition
of clays or calcite (Conca and Rossman 1982).

Two intergrading types of sapping landforms
develop on massive sandstones. The more exotic
form is the development of tafoni on steep scarps
and on large talus blocks. Such tafoni may literally
riddle certain steep slopes (Fig. 7.25), with the tafoni
concentrated along certain beds that are either more
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Figure 7.27 Seepage face at a theatre head alcove. Zone of seepage is 1 to 2m thick. Floor of alcove is highly weathered
sandstone debris supporting a vegetative cover. The seepage face is incrusted with ferns, mosses, algae, and other
phreatophytes. Salt efflorescences occur above moist zone (photo A. Howard).

susceptible to the salt fretting or receive greater
groundwater discharge. Talus blocks generally de-
velop tafoni on their lower, overhung portions. The
concentration of tafoni development at the base of
such blocks may be due both to the protection from
surface wash as well as upward wicking of salts
from underlying soils or shales, a process that
contributes to weathering of the bases of tombstones
(Mustoe 1983, Hamilton 1984). Oberlander (1977)
pointed out that tafoni develop most strongly on
scarps initially steepened by basal undermining but
presently no longer backwasting because alluviation
or aeolian deposition covers and protects the basal
backwasting face. Thus generalized tafoni develop-
ment on a scarp indicates relative inactivity of
backwasting by surface attack or basal undercutting.

On the other hand, large alcoves are common in
massive sandstones and are often actively retreating
as a result of sapping erosion (Fig. 7.26). However,
direct sapping usually is localized to zones less than
2m thick along permeability discontinuities where
the discharge of groundwater is concentrated (Fig.
7.27), although at major valley heads the seepage
zone may be 20 to 25 m thick. These sapping zones

generally backwaste by processes similar to those of
tafoni, and locally tafoni are superimposed upon the
sapping face. In addition to salt fretting, backwast-
ing by groundwater discharge can also occur by
cement dissolution and by weathering of shale
beneath or interbedded in the sandstone. The retreat
of the active zone of sapping undermines the sand-
stone above, with the result that occasional rockfalls
occur (Fig. 7.15). In massive sandstone the under-
mining occasions the development of exfoliation
sheeting fractures, resulting in large arches or
alcoves, with the deepest parts of the alcoves pre-
sumably corresponding to the most rapid sapping
attack (Fig. 7.27). In well-jointed sandstones, such as
the Wingate Sandstone, arches and overhanging
cliffs are less common, and the role of scarp retreat
by sapping processes is not as obvious but may be
just as important.

The major aquiclude for the Navajo Sandstone is
the underlying Kayenta Formation, and the major
seeps develop at this discontinuity (Figs 7.26 and
7.27). However, thin shales and limestone interbeds
(interdunal deposits) create minor aquicludes within
the Navajo (Laity 1988, Kochel and Riley 1988),
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leading to frequent development of multiple levels
of seeps and associated alcoves at valley headwalls.

A distinction may be made between wet sapping
with a damp rock face and an effluent discharge and
dry sapping, where the rock face is generally in-
crusted with mineral salts (Laity and Malin 1985). In
general, tafoni are associated with dry sapping
because of their localized development, whereas
large alcoves are generally associated with a more
regional groundwater flow and exhibit faces that are
at least seasonally wet.

Neither active seepage nor deposition of mineral
crusts on protected sandstone walls are necessarily
correlated with rapid weathering and backcutting of
the sandstone walls. For example, the Weeping Wall
at Zion National Park, Utah, is an impressive seep
emerging from the Navajo Sandstone, but the associ-
ated alcove and canyon are small. Many other
examples of fairly high discharge rates but only
minor, or non-existent, alcoves can be found
throughout the Colorado Plateau. Too rapid a seep-
age may in fact discourage deposition of salts.
Although rapid seepage can also cause backwasting
by dissolution of calcite or gypsum cement, this
would only occur if the groundwater were under-
saturated. Similarly, many examples of thick mineral
incrustations at seeps lacking evidence of backwast-
ing can be found on sandstones throughout the
South-west. Several factors control whether minerals
deposited by evaporating seepage are deposited
intergranularly within the rock (encouraging exfolia-
tion and granular disintegration) or at the rock
surface (with little resulting sapping), including the
type and concentration of salts, the average and
variance of water discharge to the surface, the
distribution of pore sizes and their interconnectivity,
the presence and size of fractures, the temperature
regime at the rock face, local humidity and winds,
and the frequency of occurrence of wetting of the
rock face by rain or submergence (if along a stream
or river). The interaction of these factors is poorly
understood. Discrepancies between size of alcove or
sapping valley and the magnitude of the seep can
also result from differences in the length of time that
sapping has been active. Despite these cautions, it is
reasonable to expect within a specific physiographic,
structural, and stratigraphic setting that the degree
of alcove development and degree of headward
erosion of sapping valleys would correlate with the
discharge of the seeps involved (Laity and Malin
1985).

In summary, most evidence suggests that sapping
processes are common in sandstones of the Colora-
do Plateau and the processes result in the wide-

spread development of tafoni and alcoves. The
major caution is the evidence cited by Oberlander
suggesting that groundwater sapping is unimportant
in erosion of effective partings at thin shale layers in
the Entrada and other sandstones. One of several
possibilities may account for this difference in inter-
pretation. The effective shale partings may, in fact,
be so readily weathered by atmospheric moisture
due to high salt content or other factors that seepage
is not required for such partings as it is for caver-
nous weathering and alcove development else-
where. The Entrada Sandstone exhibits considerable
variation in lithology and cementation both vertically
and areally, so that in the Arches National Park the
Slick Rock Member may be relatively impermeable.
However, well-developed arches and tafoni with
evidence of active salt fretting are found a few tens
of kilometres south in this same member. Another
possibility is that backwasting along effective part-
ings is not very active under present climatic condi-
tions, but was more active during the late Pleis-
tocene. The evidence for relatively inactive scarp
retreat (and, by extension, seepage erosion) under
present climatic conditions is discussed below.

Climatic Change and Scarp Morphology

Most recent discussions of scarp morphology and
associated weathering and erosional processes have
implied that the morphological elements can be
explained by presently active processes (e.g. Koons
1955, Schumm and Chorley 1966, Oberlander 1977).
However, other authors have maintained that
escarpments in the Colorado Plateau region are
undergoing considerably less caprock erosion under
the present climate than during the late Pleistocene
(Reiche 1937, Ahnert 1960, Howard 1970).

Given our poor understanding of present scarp
processes and little historical control, it is not sur-
prising that different conclusions have been drawn
about present activity and the presence or the lack of
a direct relationship between present processes and
present scarp form. For example, Schumm and
Chorley (1964, 1966) cited numerous examples of
historical rockfalls as evidence for present activity of
scarps. However, a simple analysis suggests just the
opposite. Inferred long-term rates of scarp retreat on
the Colorado Plateau average about 3m per 1000
years (Schmidt 1989b). If rockfalls occur randomly
through time and characteristically involve a block of
caprock 1 m thick and 10 m in horizontal dimension,
then one should expect about three rockfalls per
year on 10 km of scarp front. If the characteristic



rockfall is larger, say 3 m thick and 100 m long, then
there should be a rockfall every ten years. Since
there are tens to hundreds of thousands of
kilometres of scarp front on the Colorado Plateau,
occurrences of large rockfalls should be much more
frequent than appears to be the case, possibly by as
much as an order of magnitude.

The escarpment of Emery Sandstone near Caine-
ville, Utah, is a case in point. Extensive old rockfall
deposits on North and South Caineville Mesas,
dissected to a depth of as much as 50m at their
lower and lateral margins, were interpreted by
Howard (1970) to be Bull Lake equivalent in age
(Illinoian?) because some of the debris blankets
interfinger with pediment deposits of Bull Lake age,
whereas the remainder extend no further downslope
than the level of the former pediment surface (Fig.
7.28). The old debris blankets have been dissected
by a similar amount and project concordantly lateral-
ly along the escarpment. Much of the scarp rampart
is now devoid of extensive debris, so that extensive
badlands have developed on the underlying Mancos
Shale. In places the cliff capped by the Emery
Sandstone extends downward by as much as 70 m
into the underlying shale (Fig. 7.14). Koons (1955)
demonstrated that development of cliff faces in the
non-resistant subcaprock unit is a normal occurrence
in the cycle of rockfall, debris blanket erosion, and
erosion of the subcaprock unit which triggers the
next rockfall. However, for reasons outlined above,
extensive cliff development in the subcaprock unit
may also indicate stagnation of caprock mass wast-
ing while erosion of the subcaprock unit continues
on the scarp rampart.

Schmidt (1988, 1989a) and Gerson and Grossman
(1987) noted similar remnant debris blankets related
to climatic change and, in particular, talus flatirons
and associated pediment flatirons (Fig. 7.29).
Schmidt (1988, 1989a) termed climatically controlled
flatiron development cyclical flatirons as contrasted
with the non-cyclic flatirons discussed previously,
and also cited the presence of associated dissected
pediments (pediment flatirons) as a distinguishing
characteristic of cyclic flatirons.

An outstanding example of a presently stagnant
scarp morphology is the escarpment capped by the
lower units of the Morrison Formation overlying the
thin bedded sand and shale beds of the Summerville
Formation near Hanksville, Utah. Much of the
escarpment is capped by a thin gypsum layer which
is stable enough to support vertical cliffs up to 30 m
high in the Summerville Formation (Fig. 7.24). The
gypsum cap has been eroded into small crenellations
mimicked in the underlying Summerville, indicating
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Figure 7.28 Pleistocene-age (Illinoisan?) rockfall on escarp-
ment of Emery Sandstone over Mancos Shale on South
Caineville Mesa near Hanksville, Utah. Note heavy dissec-
tion of lower end of rockfall blanket. Note remnant of
pediment of same age in front of escarpment on left side of
photo (photo A. Howard).

that the caprock protects the vertical face from
weathering and erosional processes. The rampart
generally consists of debris-free badlands likewise
carved in the Summerville Formation, which meet
the vertical face at an abrupt angle. The rampart is
bordered downslope by dissected pluvial (Bull
Lake?) pediments paved with agate derived from the
caprock, giving evidence that abundant debris was
transported from the escarpment during that time.
Where a caprock of gypsum is present, even a thick
sequence of overlying sandstone sheds little debris
on to the rampart. But where the gypsum unit is
discontinuous or missing (Fig. 7.30), the overlying
sandstone wastes by undermining and rockfall.
However, during the Bull Lake pluvial climate the
gypsum caprock evidently succumbed more readily
to rockfall and occasional slumping (Fig. 7.31). The
scarps illustrated in photos 3 and 22 of Schumm and
Chorley (1966) are probably further examples of such
presently inactive scarps.

In canyon areas, a cliff in a massive sandstone
often is underlain by a nearly bare rock slope with a
gradient of about 30° to 40°. No obvious lithologic
break separates these slope elements. In some cases,
such as at Canyon de Chelly, Arizona, examples can
be found where such bare rock slopes yield laterally
to rock slopes of similar gradient but mantled with
rockfall debris (Fig. 7.32). One explanation for such
features is that they are Richter slopes, forming at
the characteristic friction angle of rockfall debris
under conditions where removal of rockfall debris
(by weathering or erosion at the scarp base) just
balances production at the superjacent dliff face
(Richter 1901, Bakker and Le Heux 1952, Cotton and
Wilson 1971, Selby 1982d, pp. 204-8, Scheidegger
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Figure 7.29 Talus flatirons developed by alternating wet (W) and dry (D) climates. Talus aprons and associated pediments
develop during enhanced weathering and transport of wet periods and are dissected during dry epochs (from Gerson and

Grossman, 1987, fig. 17-8).

1991, p. 132; also equivalent to the case of Schumm
and Chorley’s (1966) unity weathering ratio).
However, at least in the Colorado Plateau examples,
it is difficult to imagine how such a scattered debris
cover protects the underlying rock from weathering
and erosion. One possible explanation is that the
moving talus has erosive capability which planes the
rock down to the friction angle of the moving talus.
Erosion by rock and ice avalanches has been used to
explain spur-and-gully development on steep arctic
and alpine mountain slopes (Rapp 1960a, b, Howard
1989, 1990). However, in this case erosion tends to
become localized in chutes.

A more direct explanation is that the bare rock
slopes were formerly mantled with rock debris
produced by cliff retreat and that the debris mantle
protected the underlying rock from weathering and
erosion, forming threshold slopes (Carson 1971,
Carson and Petley 1970). The cover of debris on such
slopes is now obviously inadequate to protect the
rock from weathering and erosion with the implica-
tion that scarp backwasting is presently largely
inactive, permitting the weathering and stripping of
the former debris mantle. Somewhat similar forms
can be found in the areas of segmented scarps in
Entrada Sandstone at Arches National Monument
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Figure 7.30 View of northwest face of Goatwater Point, along Utah Highway 95 near Hanksville, Utah, showing rapid
backwasting of the sandstones capping the Morrison-Summerville escarpment in the absence of the gypsum caprock.
Vertical cliffs in the Summerville Formation occur only where the gypsum unit is present, such as on the left edge and

centre of the picture (photo A. Howard).

(the area studied by Oberlander 1977) (Fig. 7.21).
Oberlander interpreted the low-gradient slickrock
slopes to be a normal feature of erosion of seg-
mented scarps (Fig. 7.22), but it is possible that some
of the slickrock slopes below vertical cliffs may have
formerly been mantled by a debris blanket under a
different climate (a scattering of debris can be seen
on many of these segmented slopes).

Ahnert’s (1960) historical interpretation of scarp
morphology contrasts sharply with the ‘dynamic
equilibrium” interpretations of Schumm and Chorley
(1966) and Oberlander (1977). Ahnert suggested that
scarp retreat occurs by erosion of shales and other
weakly resistant layers by sapping-related processes
that have only been active during pluvial episodes
characterized by abundant, gentle precipitation. By
contrast, he felt that slickrock slopes are eroded
largely by sheetwash, which has been active during
the sparse but intense rainfall of interpluvials.
Ahnert felt that the generally sharp breaks between
slickrock slopes and subjacent scarps were evidence
of the non-contemporaneous origin of the two fea-
tures, whereas Oberlander (1977) and Howard and
Kochel (1988) felt that such sharp breaks can result
from contemporaneous slickrock erosion and scarp
retreat. Ahnert’s assertion that slickrock slopes are
eroded primarily by sheetwash misses the import-
ance of the initial weathering that must occur on
these weathering-limited slopes. This weathering,
which makes debris capable of slopewash transport,
is probably not optimal under present climatic condi-
tions of brief, intense rainstorms, but is favoured by
winter precipitation and freeze-thaw.

Despite these objections to Ahnert’s interpreta-
tions, the examples presented previously suggest
that there have been changes throughout the Pleis-
tocene and Holocene in the relative rates of the
major processes producing cuesta landforms: scarp
undermining by sapping, undermining, or surface-
directed weathering; weathering and erosion of
rockfall debris; weathering and erosion of slickrock
slopes; erosion of interbedded shale layers; and,
locally, slumping and landsliding. Changes in the
relative importance of these processes have pro-
duced landforms that in many cases can only be
understood by knowledge of the temporal process
changes (i.e. relict landforms). These examples of
remnant effects of past climates add a complicating
element in unravelling the geomorphic history of
cuesta landforms and interpretation of scarp mor-
phologies which would greatly benefit from applica-
tion of modern techniques of geomorphic surface
dating.

The greater rainfall during the Bull Lake pluvial
maximum would suggest greater sapping activity
then relative to now, but that same moisture supply
would also contribute to surface-directed weather-
ing, particularly freeze-thaw weathering. Also, more
abundant groundwater does not necessarily produce
more sapping in sandstones because if seepage
is sufficient and humidity high enough to permit
runoff of the seepage, little salt accumulation will
occur. However, other groundwater-related weath-
ering processes would be enhanced by greater avail-
able moisture, such as hydration and leaching of
shale interbeds. Thus during the pluvial epochs we
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Figure 7.31 Cross-sections through the Morrison-Summerville escarpment showing presumed Pleistocene conditions
compared with the present-day profile. During the Pleistocene pluvials, backwasting of the caprock units by rockfall and
block-by-block undermining was probably rapid, and the debris-covered rampart extended up to the caprock without tall
vertical cliffs in the underlying Summerville Formation (cross-section a). Between rockfalls, weathering and erosion
eventually removed the sandstone and gypsum debris, and a cliff would begin to form in the Summerville Formation (b).
Because of the greater supply of water and lower temperatures, vertical cliffs higher than those in profile (b) were
probably unstable, for another rockfall would return the escarpment to the conditions at (a). However, under the drier
and warmer Holocene conditions, the gypsum caprock has become very resistant, and backwasting of the escarpment has
essentially halted, with the result that the escarpment rampart is rapidly eroding away, leaving behind high cliffs in the
Summerville Formation (c) (from Howard 1970, fig. 81).
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Figure 7.32 View of a small tributary re-entrant to Canyon De Chelly, Arizona, showing prominent vertical cliffs in upper
parts of the De Chelly Sandstone with slickrock slopes of 30 to 40° inclination below the cliffs and also developed in the De
Chelly Sandstone. Note partial mantling of lower slopes with talus and the suggestion that the other slickrock slopes were

{formerly mantled (photo A. Howard).

might expect more debris production by freeze—
thaw, less alveolar weathering, but greater back-
wasting at the contact between sandstones and
underlying shales and along shale interbeds. The
present paucity of rockfall debris, rather than in-
dicating nearly complete breakup and rapid weath-
ering of the debris, as suggested by Schumm and
Chorley (1966), may simply indicate relative inactiv-
ity of many scarps in present climates.

Another prominent feature of the theatre head-
walls at seeps is the paucity of rockfall debris. This
commonly contrasts with abundant rockfall debris
along the sides of the valley downstream from the
seep (Fig. 7.26). Laity (1988) suggested that both
initial pulverization of rockfall debris and rapid
weathering in the moist environment of the head-
wall account for the paucity of debris. However,
recent rockfalls in alcoves generate abundant debris,
and the rockfall debris along valley walls also sug-
gests that the backwasting of scarp walls produces a
considerable volume of coarse debris that must be
further weathered before it is transported from the
rampart and backwasting can continue. The paucity
of rockfall debris at headwater scarps is therefore

interpreted as further evidence of greater sapping
activity during past pluvial periods and relative
inactivity during the present climatic regime.

In the western desert of Egypt, particularly the
Gilf Kebir, scarp retreat via groundwater sapping
during wet episodes of the Pleistocene and present
erosional inactivity has been inferred by Peel (1941),
Maxwell (1982), and Higgins and Osterkamp (1990).

Quantitative Models of Scarp Profile Evolution

A variety of quantitative models of scarp profiles
has been developed over the years. Most notable
are the models of scarp backwasting and talus
accumulation that predict the evolutionary slope
history and the subtalus bedrock profile (Lehmann
1933, Bakker and Le Heux 1952, Gerber and
Scheidegger 1973, and others: see summary in
Scheidegger 1991, pp. 1304). These have been
developed for the case of a horizontal, fixed base
level with no provision for weathering and removal
of talus except through a constant ratio of rock
eroded to talus produced.

Other slope evolution models permit resistant
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layers, but some express resistance solely in terms of
resistance to weathering and do not allow for the
effects of mass movement and surface wash (e.g.
Scheidegger 1991, pp. 144-7; Aronsson and Linde
1982), or they include creep-like mass movement but
not the effects of surface wash, rockfall, and talus
weathering (Ahnert 1976, Pollack 1969).

Developing of realistic scarp profile models will
prove challenging owing to the range of processes
and materials that must be considered. The first
.component must be the accounting of weathering
and failure of the caprock, addressing rates of
weathering, effects of slope steepness and profile,
and predicting size and frequency of rockfall, under-
mining, or slumps, possibly including the role of
groundwater sapping. A second component should
follow the distribution, comminution during em-
placement, weathering, and erosion of caprock de-
bris, as well as the protective influence of the debris
on underlying bedrock. The third component should
address erosion of the subcaprock unit where ex-
posed. Finally, initial and boundary conditions must
be addressed, including stratigraphy, dip, base level
changes, and possible process variations through
time. A final problem with profile evolution on
ramparts with rockfall talus is that production and
erosion of the talus is inherently three-dimensional
(e.g. the development of flatirons).

EVOLUTION OF SCARP PLANFORM

The planimetric form of canyons and escarpments is
the most obvious signature of the erosional proces-
ses involved in scarp retreat in layered rocks. The
processes of scarp erosion create characteristic
shapes of planform features such as re-entrants,
projections, and inset canyons. For example, some
scarps have rounded projections, or headlands,
whereas others are sharply terminated. Similarly,
some scarps are inset with deep, narrow canyons,
while others have shallow, broadly rounded re-
entrants. The scarp form is determined by the spatial
distribution of the processes discussed earlier as well
as the lithologic and structural influences such as
rock thickness and dip. Several generalities about
scarp planform have been noted for many years.

(a) In areas of strong structural dip (more than a few
degrees) scarps tend to be oriented updip with a
linear to gently curving planform that closely
follows the structural strike, locally interrupted
by through-flowing streams. At least two factors
contribute to the linearity of scarps with steep
dip. Drainage divides tend to be at or very close

to the scarp crest, so that little fluvial or sapping
erosion occurs. In addition, escarpment height is
a strong function of crest location, so that por-
tions of the scarp that lag in erosion rapidly
become higher than surrounding locations, tend-
ing to enhance average rates of retreat. Thus the
remarkable linearity of scarps in steeply dipping
rocks is prima facie evidence for the sensitive
dependency of scarp backwasting rates on scarp
relief.

(b) Where the structural dip is slight, scarp plan-
forms are highly textured, with deep embay-
ments and canyons as well as headlands and
detached mesas. Scarps may face either updip or
downdip, with downdip portions being more
deeply embayed because drainage areas on top
of such scarps are generally larger.

(c) Resistant rock units generally become first
breached by stream erosion, forming scarps,
where structural elevations are high (e.g. at the
top of anticlines) and/or where gradients are
steepest (e.g. on dip-slope stripped plains on the
resistant unit). Both factors are combined in the
common scenario of breaching of caprocks just
below the crest of monoclines.

Since caprock erosion occurs dominantly by scarp
retreat, the scarp planform reflects areal variations in
rate of scarp retreat. One factor controlling scarp
retreat rates is the erosional resistance of the caprock
and/or subcaprock units. Nicholas and Dixon (1986)
examined the role of variations in inherent caprock
resistance (e.g. compressive strength, slake durabil-
ity, cementation) and caprock fabric (fracture
orientation and spacing) in controlling relative rates
of caprock erosion. They found that embayments in
the Organ Rock Formation escarpment, Utah, have a
higher density of fractures at the base of the caprock
than occurs beneath headlands. However, caprock
resistance is nearly equal on headlands and escarp-
ments. Accordingly, they suggest that areal varia-
tions in caprock fabric are a dominant control on
scarp planform (Fig. 7.33).

The other factor controlling scarp form is areal
variations in process rates. Erosion of the scarp face
by rockfall, slumping, and undermining of the
caprock, weathering of the caprock debris, and
erosion of subcaprock units will be termed scarp
backwasting. Deep re-entrant canyons are clearly
created by rapid erosion along a linear zone, gener-
ally by fluvial erosion or groundwater sapping.
Structure often plays an indirect role by channelling
surface or subsurface water along fractures. The role
of areal variations in intensity of these three classes



Figure 7.33 Plan view of scarp retreat, showing variable
rates of backwasting governed by differences in fracture
density. Particularly unfractured masses may persist as
isolated buttes, as at A, B, D and E (from Nicholas and
Dixon 1986, fig. 8).

of processes and in rock resistance in creating scarp
planforms is discussed below based upon both field
evidence and theoretical modelling. The discussion
will concentrate on the development of Schumm and
Chorley’s (1964) compound scarps consisting of one
scarp-forming unit sandwiched between easily
eroded rocks.

Scarp Backwasting

Natural scarps commonly exhibit a planform char-
acterized by sharply pointed or cuspate projections
(headlands, spurs) and broadly concave re-entrants
(embayments). The role of essentially uniform rates
of scarp retreat in creating pointed headlands and
broad embayments was first discussed by Dutton
(1882, pp. 258-9) and Davis (1901, pp. 178-80), who
noted the nearly uniform spacing between succes-
sively lower scarps on the walls of the Grand
Canyon. Attack of an escarpment by areally uniform
backwasting gradually makes embayments more
shallow and the planform of the scarp face close to
linear (Fig. 7.34). Similar observations were made by
Howard (1970) and Schipull (1980). Lange (1959)
systematically studied the consequences of uniform
erosional attack (uniform decrescence) on two- and
three-dimensional surfaces, showing that uniform
erosion acting on any arbitrary, rough surface pro-
duces rounded re-entrants and cuspate spurs. He
also showed that scarp retreat in the Grand Canyon
is uniform to a first approximation, with some
tendency towards more rapid erosion of embay-
ments (Fig. 7.34). Furthermore, uniform decrescence
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and uniform addition of material (accrescence) are
not reversible (Lange 1959), so that the position of
an escarpment rim during the past cannot be un-
iquely inferred from its present configuration, even
if subject to uniform retreat in the past, especially in
the case of former spurs that first eroded into
outliers and then wasted away.

A simple numerical model of scarp backwasting
(Howard 1988, in preparation) lumps local variations
in process rates and rock resistance into a single
‘erodibility’, which is assumed to vary randomly
from location to location. The erodibility is assumed
to be a self-similar fractal with variations at both
large and small scales. The spatial variability of
erodibility is characterized by three parameters, an
average value, a variance, and a rate of change of
variance with scale. The rate of lateral backwasting is
assumed to be linearly dependent upon the erodibil-
ity. Figure 7.35 shows a plan view of successive
scarp positions starting from a square ‘mesa’. All
simulations discussed here assume a scarp such as is
shown in Figure 7.10, with a single caprock over
shale and a superjacent stripped plain. As expected,
scarps produced by this type of backwasting are
characterized by sharply terminating projections and
broad re-entrants (as in the Grand Canyon, Fig.
7.34), with re-entrants produced by erosion through
more erodible rocks.

The projections of some natural scarps are round-
ed rather than sharply pointed. This suggests that
the lateral erosion rates on the projections are
enhanced relative to straight or concave portions of
the scarp. Several mechanisms may account for this.
The rate of erosion of many scarps is limited by the
rate that debris shed from the cliff face can be
weathered and removed from the underlying ram-
part on the less resistant rocks. Debris from convex
portions of scarps (projections) is spread over a
larger area of rampart, so that weathering rates may
be enhanced. Additionally, headlands commonly
stand in higher relief than re-entrants, leading to
longer and/or steeper ramparts and enhanced ero-
sion rates. Finally, some scarp caprock may be
eroded by undermining due to outward creep or
weathering of the rocks beneath the caprock. Both
processes are enhanced at convex scarp projections.
Figure 7.36 shows a model scarp in which backwast-
ing rates are enhanced by scarp convexity and
restricted by concavity, and Figure 7.37 shows a
similar natural scarp.

By contrast, some natural scarps exhibit narrow,
talon-like headlands that are unlikely to have re-
sulted from pure uniform retreat (Figs 7.34 and 7.38).
Occasional thin headlands may result from narrow-



160  Rock slopes

Figure 7.34 Process of uniform erosional attack illustrated on the Redwall, Coconino, and Kaibab escarpments within the
Grand Canyon. The rim outline of both the Coconino and Kaibab escarpments (dotted lines) may be approximately
duplicated by uniform erosional attack of the Redwall escarpment rim (dashed lines). In a few cases the hollows, or
re-entrants, are deeper than would be produced by uniform backwasting of the next lower escarpment; sapping

backwasting may be involved (from Lange 1959, fig. 7.17).

ing of divides between canyons by uniform back-
wasting, but where such sharp cusps are frequent it
is likely that they result from slowed erosion of
narrow projections. Impeding of erosion on such
headlands may be due to a lack of uplands contribu-
ting surface or subsurface drainage to the scarp face,
thus inhibiting chemical and physical weathering of
the cliff face or its undermining. Scarps that have
been broken up into numerous small buttes, such as
occurs at Monument Valley, Arizona, may be further
examples of inhibition of scarp retreat where upland
areas are small. An alternative explanation may be
that these occur in locations with minimal caprock

jointing, in the manner suggested by Nicholas and
Dixon (1986).

Almost all escarpments in gently dipping rocks
exhibit deep re-entrants and, as erosion progresses,
break up into isolated mesas and buttes. This indi-
cates erosion concentrated along generally linear
zones of either structural weakness, fluvial erosion,
or sapping (often acting in combination). One in-
dicator of the role of either or both fluvial erosion
and groundwater sapping is the asymmetry of
scarps in gently tilted rocks. The planform of seg-
ments where the scarp faces updip is generally
similar to that expected by uniform decrescence,



Figure 7.35 Stages of simulated scarp retreat by uniform
erosional attack of caprock with spatially variable resist-
ance. The simulation starts from an assumed square mesa
and the lines show successive stages of retreat of the edge
of the scarp. Note that the lines are not contours.

Figure 7.36 Plan view of simulated scarp evolution by
uniform erosional attack with an assumed dependency of
retreat rate on planform convexity. Note rounding of scarp
headlands.

Slopes in layered rocks 161

Figure 7.37 Plan view of a natural scarp with rounded
headlands in sandstone underlain by shale in north-eastern
New Mexico (1:100000 Capulin Mountain quadrangle).
Note that fluvial incision has created numerous sharply
terminated embayments. The uneroded portion of the
scarp is patterned. Length of bar is 5km, and arrow points
north.

Figure 7.38 Natural scarp with sharply pointed projections
and sharply pointed, gradually narrowing box canyon
embayments due to stream incision (scarp of the Redwall
limestone in Grand Canyon National Park: Grand Canyon
1:100 000 quadrangle). The uneroded portion of the scarp is
patterned. Length of bar is 10 km, and arrow points north.
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Figure 7.39 Plan view of an escarpment of gently dipping Wingate Sandstone showing smooth, nearly straight planform
on updip side and deeply embayed downdip side. Strata dip about 1.5° due west. Mesa is located to south-west of Utah
Highway 95 between the Colorado River and Natural Bridges National Monument.

since little drainage passes over the scarp, but
segments facing downdip (‘back scarps’ of Ahnert
1960) are deeply indented as a result of fluvial or
sapping erosion (Fig. 7.39) (Ahnert 1960, Laity and
Malin 1985).

Nicholas and Dixon (1986) emphasized the role of
variable density of fracturing of incompetent and
caprock layers in controlling the rate of scarp retreat
and the development of re-entrants, projections, and
isolated buttes. Their evidence suggests that variable
density of fracturing is important on certain scarps,
but it probably controls primarily the small-scale
planform features. Variable density of fracturing
cannot account for the remarkable asymmetry of
gently dipping scarps (Fig. 7.39) and the general

association of embayments with the drainage basins
on the overlying stripped surface of the caprock.

Fluvial Downcutting

One process creating deep re-entrants is downcut-
ting by streams which originate on the top of the
escarpment and pass over its front. Such caprock
erosion is localized to the width of the stream, which
is generally very small compared with overall scarp
dimensions, so that the heads of fluvially eroded
canyons are quite narrow, but increase gradually in
width downstream by scarp backwasting, as noted
by Ahnert (1960) and Laity and Malin (1985). Exam-
ples of such gradually narrowing, deep re-entrants



are common on the Colorado Plateau (Figs 7.37 and
7.38).

Scarp erosion by combined fluvial erosion and
scarp backwasting can be numerically modelled by
superimposing a stream system on to a simulated
scarp and allowing it to downcut through time. If a
resistant layer is present, the stream develops a
profile characterized by a low gradient section on
top of the resistant layer and a very steep section
(rapids or falls in natural streams) which rapidly cuts
headward. In the model shown here, erosion is
assumed to be proportional to the product of the bed
erodibility and the average channel bed shear stress
(Howard and Kerby 1983). Between streams, scarps
are assumed to erode by the backwasting process
described above. Figure 7.40 shows a simulated
scarp eroded by both fluvial downcutting and scarp
backwasting, and Figure 7.41 is similar but with
convexity-enhanced scarp backwasting. Figures 7.37
and 7.38 are natural scarps similar to Figures 7.41 and
7.40, respectively. Scarp morphology is similar to that
produced by scarp backwasting, with the addition of
several deep re-entrants characterized by a gradually
narrowing width and projections that are sharply
pointed in the linear case and rounded in the
convexity-enhanced case.

All of the fluvial models combine scarp backwast-
ing with downcutting and scarp retreat due to fluvial
erosion, with valleys gradually enlarging down-
stream due to longer duration since fluvial backwast-
ing passed through that location. The angle sub-
tended by the valley walls ¢ is related to the ratio of
the scarp backwasting rate Ry, to the stream headcut-
ting rate R, by the expression

Ry/Rs = sin /2. (7.6)

The rate of downstream increase of valley width
has been used by Schmidt (1980, 1989b) to estimate
scarp recession rates.

Groundwater Sapping

Groundwater sapping is an important process in
scarp retreat throughout the Colorado Plateau
(Ahnert 1960) and probably contributes to the scarp
backwasting process discussed above. However, the
deep, narrow, bluntly terminated canyon networks
of the type discussed by Laity and Malin (1985) and
Howard and Kochel (1988) are the scarp form most
clearly dominated by sapping processes.

Ahnert (1960) and Laity and Malin (1985) sug-
gested that while fluvial erosion produces V-shaped
canyon heads that widen consistently downstream,
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Figure 7.40 Plan view of successive stages of simulated
erosion of an initially square mesa by combined action of
fluvial downcutting and uniform scarp retreat.

Figure 7.41 Plan view of successive stages of simulated
erosion of an initially square mesa by combined action of
fluvial downcutting and uniform erosion with a curvature
rate dependence.
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sapping produces U-shaped, theatre-headed can-
yons of relatively constant width downstream (the
terms U- and V-shaped refer here to valley plan-
form, not valley cross-section). Other planform fea-
tures diagnostic of sapping-dominated canyon ex-
tension and widening include theatre-shaped heads
of first-order tributaries with active seeps (Figs 7.26
and 7.42), relatively constant valley width from source
to outlet (Figs 7.42 and 7.43), high and steep valley
sidewalls, pervasive structure control, and frequent
hanging valleys. The most direct evidence of sap-
ping processes are the numerous alcoves, both in
valley heads and along sidewalls, and the many
springs on the valley walls and bottoms. Although
many valley headwalls occur as deeply undercut
alcoves, some terminate in V or half-U shapes with
obvious extension along major fractures (Fig. 7.43).
Although sapping action is fairly evident where
alcoves occur at valley heads, sapping may also
occur in fracture-controlled headwalls. Evidence for
erosion by streams passing over the valley headwalls
is slight, and plunge pools are not obvious. The
valley extension along fracture traces suggests con-
trol by groundwater flowing along the fractures,
and a preponderance of the major valley heads are
oriented updip, which is consistent with sapping by
a regional downdip groundwater flow. One striking
feature of these canyon networks is frequent discre-
pancy between the extent of headward canyon
growth and the relative upland area contributing
drainage to the canyon head, including situations
where the upland drainage enters the side rather
than the end of the canyon (Fig. 7.42). Such cir-
cumstances suggest that goundwater flow rather
than surface runoff controls headward extension of
the canyons. Another indication of sapping control
is the extension of canyons right up to major
topographic divides (Fig. 7.42), sometimes causing
the divides to be displaced. In contrast to surface
runoff, groundwater flow can locally cross topog-
raphic divides. Divide migration can also occur in
surface runoff drainage basins (see discussion of
badlands), but is associated with the presence of
slopes that are well graded from stream to divide. In
the case of headward migration of canyons, streams
above the scarp are perched on the upper slickrock
slopes, so that base level control is very indirect.
The pattern of valley development and the relative
contribution of sapping processes versus fluvial
erosion is influenced by many structural, strati-
graphic, and physiographic features. Infiltration may
be restricted where overlying aquicludes were not
stripped from the sandstone (Laity and Malin 1985,
Laity 1988). The permeability of the sandstone is

influenced not only by primary minerals but by
diagenetic cements and overgrowths. These secon-
dary minerals vary considerably from layer to layer
and location to location (Laity 1983, 1988). Kochel
and Riley (1988) and Laity (1988) discussed the
important role that thin aquicludes (generally inter-
dune deposits) and bedding strikes and dips have in
controlling groundwater flow through the sand-
stone. Primary and off-loading (sheeting) fractures
are important avenues of groundwater migration
(Laity and Malin 1985, Laity 1988, Kochel and Riley
1988). On the other hand, dense primary fracturing,
such as occurs in the Wingate Sandstone, restricts
development of alcoves and probably diminishes
weathering by cement solution and salt fretting
(Laity 1988), although sapping processes may still be
important but lack the spectacular alcoves commonly
developed in the Navajo Sandstone. Relatively flat
uplands on sandstones should encourage infiltra-
tion, whereas steep slickrock slopes probably lose
much precipitation to runoff. Weathering pits and
thin covers of windblown sand may also encourage
infiltration.

A simulation model of scarp backwasting by
groundwater sapping assumes a planar caprock
aquifer (that may be tilted) with uniform areal
recharge and a self-similar areal variation in per-
meability. The rate of sapping backwasting E is
assumed to depend upon the amount by which the
linear discharge rate at the scarp face q exceeds a
critical discharge g.: E = k(g — 4.)", where k and a are
coefficients. Scarp erosion is simulated by solving for
the groundwater flow, eroding the scarp by a small
amount, with repeated iterations. Figure 7.44 shows
a simulated scarp with g. = 0 and a = 1. Figure 7.45
shows a case with q. =0 and a = 2. Figure 7.46
shows a case with g. = 0 and 4 = 2 and superim-
posed scarp backwasting. Figure 7.43 is a natural
scarp in Navajo Sandstone formed largely by sap-
ping. Valleys developed by groundwater sapping
tend to be linear or crudely dendritic, with nearly
constant width and rounded rather than sharp
terminations, in accord with the predictions of
Ahnert (1960) and Laity and Malin (1985).

Deep re-entrants that are essentially constant in
width with rounded ends imply either that almost
all valley enlargement occurs at the headward end of
the valley (see, for example, the simulations in Figs
7.44 and 7.45) or that a period of rapid headward
canyon growth (either by sapping or fluvial incision)
is succeeded by a period of uniform scarp retreat.
This latter case is exemplified by the simulations in
Figure 7.46 combining groundwater sapping and
uniform backwasting in which rapid valley erosion
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Figure 7.42 Topographic map of box canyons eroded into Navajo Sandstone in the Inscription House area of the Navajo
indian reservation, Arizona (part of the Inscription House Ruin 1:24 000 quadrangle). Note that the backslope drainage at
B does not enter the canyon at its head and that the canyon headwalls at C extend nearly to the backslope divide with
little contributing drainage area. The extensive upslope drainage enters the large alcove at A at a minor niche. Also note
the rounded, theatre-like canyon headwalls, most of which have active seeps.
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Figure 7.43 Planform of cuesta in Navajo Sandstone at
Betatakin National Monument, Arizona, showing rounded
canyon headwalls, weak branching, and nearly uniform
canyon width. Re-entrants locally show strong control of
orientation by fractures (Kayenta 1:100000 quadrangle).
The uneroded portion of the scarp is patterned.

Figure 7.44 Plan view of successive stages of simulated
erosion of an initially round mesa by groundwater sapping.
Caprock aquifer is assumed to undergo uniform recharge
from above and water flows along the base of the caprock
at the contact with underlying shale until it emerges at the
edges of the mesa. Erosion rate is proportional to seepage
discharge rate per unit width of scarp face.

Figure 7.45 Simulated sapping erosion of an initially round
mesa as in Figure 7.42, but with erosion rate proportional
to the square of seepage discharge rate.

Figure 7.46 Simulated sapping erosion of an initially round
mesa as in Figure 7.43, but with superimposed uniform
scarp retreat.



Figure 7.47 Simulated sapping erosion of a slightly tilted
square mesa by groundwater sapping. The caprock tilts to
the bottom. Note the strongly asymmetrical development
of re-entrant canyons.

by sapping early in the simulation is succeeded by a
dominance of uniform backwasting in later stages of
erosion as upland areas contributing to groundwater
sapping diminish in size.

Summary of Scarp Modelling

These simulations illustrate a common evolutionary
sequence in scarp erosion. Early stages are characte-
rized by a planform determined largely by the
agency first exposing the scarp, generally fluvial
downcutting. Thus scarp walls parallel the stream
course with small re-entrants along tributaries drain-
ing over the scarp. Continuing tributary erosion by
fluvial or sapping processes with modest rates of
scarp backwasting between streams eventually cre-
ates a maximally crenulate scarp planform. As ero-
sion continues and upland areas diminish, rates of
stream or sapping backcutting diminish relative to
more uniform scarp backwasting (which may
accelerate as relief increases) so that the scarp
planform becomes characterized by broad re-en-
trants, sharp cusps, and often isolated small buttes
during the last stages before complete caprock re-
moval. This is illustrated in Figures 7.40 and 7.46. This
sequence can occur sequentially on a single large
mesa, as takes place in the simulations, but it is also
illustrated by spatial sequences during long-con-
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tinued erosion of a given caprock from newly
exposed scarps in structurally low areas to the last
caprock remnants in structurally high areas.

Even slight structural dips create a strong asym-
metry of rates of fluvial and sapping headcutting on
down- and updip facing portions of the scarp, since
drainage divides tend to be located close to the
updip crest. General scarp backwasting is less
affected by dip, so that updip scarp segments are
nearly linear, whereas downdip sections are highly
crenulate. This is illustrated in the natural scarp in
Figure 7.39 and the simulated sapping erosion of a
tilted scarp in Figure 7.47.

The planform of escarpments gradually develops
through scarp retreat of hundreds to thousands of
metres. Thus it is unlikely that planforms reflect to
any great extent Quaternary climatic oscillations.
Longer-term climatic changes may have influenced
scarp planforms, but such influences would prob-
ably be hard to detect.

CONCLUSIONS

Weathering and erosional processes on exposed
bedrock are generally either very slow-acting or
occur as large and often rapid mass wasting events.
As a result, process studies of the sort that have
been conducted on badland and rock-mantled slopes
are rare. Furthermore, the slow development of
bedrock landforms often implies a strong influence
of climate changes on slope form. Among the issues
that need further study are (a) the relative roles of
stress-release fracturing and contemporary gravita-
tional, neotectonic, or weathering-induced stresses
in generating broadly rounded bedrock exposures,
(b) weathering processes involved in groundwater
sapping, (c) controls on rates of scarp backwasting
and scarp height and steepness, and (d) processes of
talus weathering and removal on scarp ramparts.
We anticipate that the study of landform develop-
ment on bedrock will benefit greatly from applica-
tion of modern techniques for dating of geomorphic
surfaces, including use of rock varnish (Chapters 6
and 20) and thermoluminescence, fission-track, and
radiogenic or cosmogenic isotopes.
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ROCK-MANTLED SLOPES

Athol D. Abrahams, Alan D. Howard, and

Anthony |. Parsons

INTRODUCTION

This chapter will consider hillslopes with gradients
less than 40° that are neither active, undissected
piedmonts (i.e. pediments and alluvial fans, which
are dealt with in Chapters 13 and 14) nor are
developed in highly erodible, fine-grained sedi-
mentary rocks (i.e. badlands slopes, which are
treated in Chapter 9). Such hillslopes in desert (arid
and semi-arid) climates are usually mantled with a
thin layer of coarse debris that has either weathered
out of the underlying substrate or fallen from a
superincumbent cliff. The former hillslopes are here-
in referred to as debris slopes and the latter as
talus slopes. In this chapter we shall first consider
the processes acting on these rock-mantled slopes
and then consider the forms they produce. These
processes are not only important in terms of under-
standing hillslope form but because they give rise to
a variety of hydrologic and geomorphic phenomena
such as flash flooding, extreme soil erosion, and
hazardous debris flows. More generally, they exert a
major control over the flux of water and sediment
that passes through desert river systems, across
active piedmonts, and into closed lake basins. Thus
an understanding of many, if not most, desert
geomorphic systems must begin with a comprehen-
sion of the processes operating on desert hillslopes.

HYDRAULIC PROCESSES
INFILTRATION AND RUNOFF

Model

Virtually all runoff from desert hillslopes occurs in
the form of overland flow that is generated when the
rainfall intensity exceeds the surface infiltration rate.
Such rainfall-excess overland flow is widely termed
Horton overland flow (Horton 1933). The infiltration

process may be modelled by the Richards (1931)
equation:

ﬂ—iKk\lf—aE—iKk‘lf 8.1
at_az sr()az oz sr() ()

where 0O is the volumetric water content, ¥ is the
pressure head, z is the distance (positive) below the
surface, t is time, K, is the saturated hydraulic
conductivity, and k(¥) is the relative hydraulic
conductivity as a function of ¥ (Smith and Woolhis-
er 1971). Smith (1972) and Mein and Larson (1973)
developed solutions to this equation which enable
infiltration curves to be predicted for particular soils
for different rainfall rates and initial soil-water con-
tents (Fig. 8.1). The Richards equation is especially
useful where the rainfall intensity initially does not
exceed the surface infiltration rate.

Although the Richards equation is a powerful
analytical tool, its application to desert hillslopes is
complicated by the widespread occurrence of surface
sealing (Moore 1981, Romkens et al. 1990). Surface
sealing may be caused by swelling of soil aggregates
or soil structure breakdown due to physico-chemical
processes, clogging of soil pores as a result of the
deposition of fine particles in ponded water, or
aggregate breakdown and compaction by raindrops
(Romkens et al. 1990). The last mechanism is particu-
larly important on desert hillslopes where the effec-
tiveness of raindrops in sealing the surface appears
to be contingent on the extent to which the surface is
covered with stones and vegetation. Simanton and
Renard (1982) conducted rainfall simulation experi-
ments on three different soils on semi-arid hillslopes
at Walnut Gulch, Arizona, and compared runoff
rates in the spring and autumn. In the spring the
soil surface was loosened by frost action and wetting
and drying during the preceding winter, whereas in
the autumn the surface was compacted by the
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Figure 8.1 Graphs of infiltration rate against time since the
start of rainfall obtained by solving the Richards equation.
These graphs show how the infiltration curve varies with
(a) rainfall rate I and (b) initial moisture content M (volume
per unit volume).

previous summer’s thunderstorm rainfall. Figure 8.2
shows that the change in runoff from spring to
autumn is inversely related to the proportion of the
surface covered with stones (=2mm) and the per-
centage change in vegetation from spring to au-
tumn. This is because higher stone and vegetation
covers afford the soil surface greater protection from
raindrop impact and, hence, inhibit surface sealing
by summer rainfall.

Controlling Factors

Infiltration rates on desert hillslopes vary greatly
over short distances (e.g. Blackburn 1975, Sharma et
al. 1980, Yair and Lavee 1985, Berndtsson and
Larson 1987, Johnson and Gordon 1988). This varia-
tion may reflect variation in surface or subsurface
properties. However, much less is known about the
role of the latter than the former. Among the surface
properties controlling infiltration and runoff are the
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Figure 8.2 Graphs of percentage change from spring to
autumn in runoff and sediment yield against (a) percentage
stone cover and (b) percentage change from spring to
autumn in vegetation cover for three soils at Walnut Gulch,
Arizona.

ratio of bedrock to soil, surface and subsurface stone
size, stone cover, and vegetation.

Given the widespread occurrence of bedrock out-
crops on many desert hillslopes, an important con-
trol of infiltration and runoff is the ratio of bedrock
to soil. Figure 8.3 shows the infiltration curves for
rocky and soil-covered surfaces at Sede Boquer and
the Hovav Plateau in the northern Negev, Israel
(Yair 1987). The infiltration capacities are lower for
the bedrock than for the soil-covered surfaces at
both sites. The difference is especially pronounced
for the Sede Boquer site because the rock is a
smooth, massive crystalline limestone, whereas at
the Hovav Plateau it is densely jointed and chalky.
Data from natural rainfall events at Sede Boquer
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Figure 8.3 Infiltration curves for rocky and soil-covered
surfaces in the northern Negev, Israel: Sede Boquer (rain-
fall intensity 36 mmh~') massive limestone (SDR), Sede
Boquer stony colluvium soil (SDS), Hovav Plateau (rain
intensity 33 mm h ') densely jointed and chalky limestone
(HPR), and Hovav Plateau stoneless colluvial soil (HPS)
(after Yair 1987).

(Yair 1983) indicate that the threshold level of daily
rainfall necessary to generate runoff in the rocky
areas is 1 to 3mm, whereas it is 3 to 5mm for the
colluvial soils. As rain showers of less than 3 mm
represent 60% of the rain events, the frequency and
magnitude of runoff events are both much greater
on the rocky than on the soil-covered areas.

The effect of surface stones on runoff is quite
complex and has been the subject of numerous field
and laboratory studies (e.g. Jung 1960, Seginer et al.
1962, Epstein et al. 1966, Yair and Klein 1973, Yair
and Lavee 1976, Box 1981, Poesen et al. 1990,
Abrahams and Parsons 1991b, Lavee and Poesen
1991, Poesen and Lavee 1991). Figure 8.4, which is
based on laboratory experiments by Poesen and
Lavee (1991, fig. 3), is an attempt to summarize the
present state of knowledge for surfaces devoid of
vegetation. Basically, surface stones affect runoff by
two groups of mechanisms. First, increasing stone
size and stone cover increasingly protect the soil
surface from raindrop impact and thereby inhibit
surface sealing and reduce runoff. Increasing stone
size and stone cover also increase depression storage
which promotes infiltration. Second, increasing
stone size and stone cover result in greater quanti-
ties of water being shed by the stones (stone flow)
and concentrated in the interstone areas, where the
water overwhelms the ability of the underlying soil
to absorb it and runs off in increasing amounts. Both
groups of mechanisms operate simultaneously. In
general, it appears that as stone size increases the
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Figure 8.4 Graphs showing relations between runoff coef-
ficient and stone cover for different stone sizes: (a) stones
resting on the soil surface and (b) stones partially embed-
ded in the soil. The graphs are generalizations of the
experimental results of Poesen and Lavee (1991).

second group dominates. As a result, runoff in-
creases with stone size irrespective of stone cover.
The relation between runoff and stone cover is less
straightforward. Where stone sizes and stone covers
are small, the first group of mechanisms dominates,
and runoff is negatively related to stone cover.
However, for other combinations of stone size and
stone cover the second group dominates, and runoff
is positively related to stone cover. Stone position
also affects runoff. A comparison of Figures 8.4a and
8.4b reveals that where stones are embedded in the
soil runoff rates are higher than where they are
resting on the surface. Interestingly, for intermediate
(mean) stone sizes (i.e. 20 to 50 mm), the sign of the
relation between runoff and stone cover may actual-
ly change from negative for stones resting on the
surface to positive for stones embedded in the soil.
(Poesen 1990, Poesen et al. 1990).

Figure 8.4 applies to areas devoid of vegetation.
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Where there is a significant vegetation cover, par-
ticularly of shrubs, the controls of infiltration and
runoff are quite different. This is reflected in the
correlation between infiltration and stone cover.
Abrahams and Parsons (1991a) noted that both
positive and negative correlations between infiltra-
tion and stone cover have been reported for semi-
arid hillslopes in the American South-west. They
observed that positive correlations (Tromble 1976,
Abrahams and Parsons 1991b) have been obtained
when infiltration measurements were confined to
(bare) stone-covered areas between shrubs (lower
curves in Fig. 8.4), and they attributed these correla-
tions to increasing stone cover progressively imped-
ing surface sealing. In contrast, negative correlations
have been found when infiltration was measured in
shrub as well as intershrub areas (e.g. Tromble et al.
1974, Simanton and Renard 1982, Wilcox et al. 1988,
Abrahams and Parsons 1991a). Abrahams and Par-
sons ascribed these correlations to infiltration rates
under shrubs being greater than those between
shrubs (Lyford and Qashu 1969), and percentage
stone cover being negatively correlated to percen-
tage shrub canopy (Wilcox et al. 1988). The mechan-
isms giving rise to higher infiltration rates under
shrubs than between them are summarized in Figure
8.5. As might be expected, positive correlations have
been recorded between infiltration rate and percen-
tage plant canopy (Kincaid et al. 1964, Simanton et al.
1973, Tromble et al. 1974).

Finally, an oft-neglected factor influencing infiltra-
tion and runoff on desert hillslopes is the presence
of cryptogamic crusts. Such crusts may be composed
of algae, lichen, or moss. They are surprisingly
common on desert surfaces and help to stabilize
such surfaces. They also have a water-repellent
property that results in their generating runoff
during relatively light showers of short duration. For
example, in the Nizzana sand field, southern Israel,
Yair (1990a) found that less than 1 mm of rainfall
was sufficient to initiate runoff at a relatively low
rainfall intensity of 18.4 mmh™'. He concluded that
some runoff could be expected over the crusted
surface during any rainstorm exceeding 2 to 3 mm.

Partial Areas

The spatial variability in the factors controlling point
infiltration rates means that overland flow is not
generated uniformly over a desert hillslope but
preferentially from those parts of the hillslope,
termed partial areas, where the infiltration rates are
lowest. Overland flow generated by partial areas
then travels downslope where it may encounter
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of organic beneath
material shrub

Figure 8.5 Causal diagram showing the mechanisms
whereby a shrub’s canopy promotes infiltration under the
shrub at Walnut Gulch, Arizona (after Abrahams and
Parsons 1991a).

other areas whose infiltration capacity remains high-
er than the rainfall intensity. Some or all of the flow
may infiltrate into these areas (Smith and Hebbert
1979, Hawkins and Cundy 1987). As a result of this
runon infiltration, runoff per unit area may decrease
downslope. This phenomenon is illustrated in Fig-
ure 8.6 for a small piedmont watershed at Walnut
Gulch, Arizona (Kincaid et al. 1966).

Another example of runon infiltration has been
documented at the Sede Boquer experimental site
studied by Yair and his colleagues in the northern
Negev, Israel. The upper part of the hillslope con-
sists largely of exposed bedrock, whereas the lower
part is covered by stony colluvium. A series of
sprinkling experiments showed that runoff gener-
ated on the upper part of the hillslope usually
infiltrates into the colluvium. Only when both the
antecedent moisture and rainfall intensity are excep-
tionally high, does overland flow cross the colluvial
footslope and reach the stream channel (Fig. 8.7).
Runoff data for natural rainfall events collected over
a ten-year period revealed that continuous flow
down the 60-m hillslope occurs in only about 5% of
the rainstorms, thus representing rather extreme
conditions (Yair and Lavee 1985).

Yair and Shachak (1987) suggested that desert
hillslopes are often divided into a rocky upper slope
and a soil-covered lower slope. Certainly, in the
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Figure 8.6 Graph of annual runoff against size of drainage
area for runoff plots and very small watersheds (>10° ft?) at
Walnut Gulch, Arizona (after Kincaid et al. 1966).

Figure 8.7 Flowlines during three consecutive rainfall
simulation experiments on a runoff plot at Sede Boquer,
northern Negev, Israel (after Yair 1990b).

Mojave Desert, California, there is a tendency for
bedrock to crop out more widely on the upper part
of hillslopes (i.e. the upper convexity and rectilinear
elements) than on the lower part (i.e. the lower
concavity) (Parsons and Abrahams 1987). Inasmuch
as this pattern of a rocky upper slope and colluvial
lower slope appears to be common and runoff
coefficients for bedrock are generally higher than
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those for colluvium, runon infiltration is likely to be
an important phenomenon on desert hillslopes and
must be taken into account in modelling and predict-
ing hillslope hydrographs.

OVERLAND FLOW HYDRAULICS

On desert hillslopes virtually all runoff occurs in the
form of overland flow. Although there is pedogenic
evidence of throughflow on some hillslopes (Wieder
et al. 1985, Lavee et al. 1989), this process appears to
contribute little water to stream channels and to play
a minor role in hillslope erosion. Consequently, the
process of throughflow will not be discussed further.

Interrill Areas

Interrill overland flow on desert hillslopes generally
appears as a sheet of water with threads of deeper,
faster flow diverging and converging around surface
protuberances, rocks, and vegetation. As a result of
these diverging and converging threads, flow depth
and velocity may vary markedly over short dis-
tances, giving rise to changes in the state of flow.
Thus over a small area the flow may be wholly
laminar, wholly turbulent, wholly transitional, or
consist of patches of any of these three flow states.
Resistance to overland flow may be quantified by the
dimensionless Darcy-Weisbach friction factor

f = 8ghS/V* (8.2)
where g is the acceleration of gravity, h the mean
depth of flow, S the energy slope, and V the mean
flow velocity. Flow resistance f consists of grain
resistance, form resistance, and rain resistance.
Grain resistance f; is imparted by soil particles and
microaggregates that protrude into the flow less
than about ten times the thickness of the viscous
sublayer (Yen 1965). Form resistance f; is exerted by
microtopographic  protuberances, stones, and
vegetation that protrude further into the flow and
control the shape of the flow cross-sections
(Sadeghian and Mitchell 1990). Finally, rain resist-
ance f; is due to velocity retardation as flow momen-
tum is transferred to accelerate the raindrop mass
from zero velocity to the velocity of the flow (Yoon
and Wenzel 1971). For laminar flow on gentle slopes
fe may attain 20% of f (Savat 1977). However,
generally it is a much smaller proportion, and the
proportion becomes still smaller as the state of flow
changes from transitional to turbulent (Yoon and
Wenzel 1971, Shen and Li 1973). Because f; is
typically several orders of magnitude less than f on
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desert hillslopes (Dunne and Dietrich 1980), the
following discussion will focus on f; and f;.

Resistance to flow generally varies with the in-
tensity of flow, which is represented by the dimen-
sionless Reynolds Number

Re = 4Vhlv 8.3)
where v is the kinematic fluid viscosity. Laboratory
experiments and theoretical analyses since the 1930s
have established that where f is due entirely to grain
resistance the power relation between f and R, for
shallow flow over a plane bed is a function of the
state of flow. The relation has a slope of —1.0 where
the flow is laminar and a slope close to —0.25 where
it is turbulent. Virtually all models of hillslope runoff
have employed this relation between f and R. (or
surrogates thereof) for plane beds. However, the
surfaces of desert hillslopes are rarely, if ever,
planar, and the anastomosing pattern of overland
flow around microtopographic protuberances, rocks,
and vegetation attests to the importance of form
resistance. If form resistance is important, its in-
fluence might be expected to be reflected in the
shape of the f-R, relation.

This was first recognized in a set of field experi-
ments conducted by Abrahams et al. (1986) on small
runoff plots located in intershrub areas on piedmont
hillslopes at Walnut Gulch, southern Arizona.
Although the plot surfaces were mantled with
gravel, clipped plant stems occupied as much as 10%
of their area, and the steeper plots had quite
irregular surfaces. Analyses of 14 cross-sections
yielded f-R. relations that were positively sloping,
negatively sloping, and convex-upward (Fig. 8.8).
These shapes were attributed to the progressive
inundation of the roughness elements (i.e. gravel,
plant stems, and microtopographic protuberances)
that impart form resistance. So long as these ele-
ments are emergent from the flow, f increases with
R. as the upstream wetted projected area of the
elements increases. However, once the elements
become submerged, f decreases as R. increases and
the ability of the elements to retard the flow progres-
sively decreases.

In a second set of field experiments on small plots
sited in gravel-covered intershrub areas at Walnut
Gulch, Abrahams and Parsons (1991c) obtained the
regression equation

log f = —5.960 — 0.306 log R, + 3.481 log %G

+0.998 log D, (8.4)

where %G is the percentage of the surface covered
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Figure 8.8 Graphs of Darcy-Weisbach friction factor
against Reynolds Number for five cross-sections on two
runoff plots at Walnut Gulch, Arizona. The cross-sections
are denoted by C1, C2, etc. (after Abrahams et al. 1986).

with gravel, Dg is the mean size of the gravel (mm),
and R? =0.61. Of the independent variables in
Equation 8.4, %G was by far the single best predictor
of f, explaining 50.1% of the variance. The domi-
nance of %G implies that fi>>f, on these gravel-
covered hillslopes. This was confirmed using a
procedure developed by Govers and Rauws (1986)
for calculating the relative magnitudes of f; and f; in
overland flow. For the 73 experiments performed on
the small plots the modal and median values of %fg,
which denotes grain resistance expressed as a per-
centage of total resistance, were 4.55% and 4.53%
(Fig. 8.9). Thus on these gravel-covered hillslopes, f;
is typically about one-twentieth of f;. This conclusion
has important implications for sediment transport
which will be explored below.

The findings of Abrahams et al. (1986) and Abra-
hams and Parsons (1991c) are supported by some
recent laboratory experiments by Gilley et al. (1992)
in which varying rates of flow were introduced into
a flume covered with different concentrations and
sizes of gravel. Gilley et al. also recorded positively
sloping, negatively sloping, and convex-upward f-R.
relations which they attributed to the progressive
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inundation of the gravel. In addition, they obtained
regression equations of the form

logf = loga; —a;logRe + a31og %G~ (8.5)

for each gravel size class. The R? value for each
regression exceeded 0.94. These flume experiments
confirm the important role of gravel cover in con-
trolling resistance to overland flow through its
influence on form resistance.

The hydraulics of overland flow over an entire
interrill area were investigated by Parsons et al.
(1990) using simulated rainfall on a plot 18 m wide
and 35m long also located on a shrub-covered
piedmont hillslope at Walnut Gulch. These shrubs
sit atop low mounds formed largely by differential
splash (see Rainsplash below). Between the shrubs
are gravel-covered surfaces where overland flow is
generated and travels downslope. The h, V, and R.
values were computed for two measured sections
situated 12.5 and 21 m from the top of the plot.
At-a-section h-R. and V-R. relations show that
increases in R, are accommodated largely by in-
creases in h. These hydraulic relations are principally
the result of f increasing with R, as overland flow
spreads laterally into new areas. Downslope hyd-
raulic relations differ strikingly from at-a-section
relations. Under equilibrium (steady state) runoff
conditions, f decreases rapidly as R. increases, per-
mitting increases in R, to be accommodated entirely
by increases in V. The decrease in f is due to the
progressive downslope concentration of flow into
fewer, larger threads. Under non-equilibrium condi-
tions, downslope hydraulic relations are different
from those at equilibrium, but f always decreases
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downslope. This is the result of low flows following
pathways formed by higher flows that concentrate
downslope.

Rills

The tendency for threads of overland flow to in-
crease in depth and velocity downslope coupled
with the convergence (and divergence) of these
threads around obstructions may lead to the forma-
tion of small channels or rills. Such features are very
common on desert hillslopes, particularly where the
underlying material is easily eroded. However, to
our knowledge, there have been no quantitative
studies of either the form or hydraulics of rills on
such hillslopes. All the data available on rills come
from agricultural fields in more humid environ-
ments. The following discussion, therefore, is based
on these data on the assumption that the mechanics
of rill formation are similar in desert and humid
settings and that, consequently, the findings for
agricultural fields can with appropriate caution be
generalized to desert hillslopes.

Studies of rill morphology suggest that rill width
is a function of soil erodibility, whereas rill spacing
is related to hillslope gradient (Parsons 1987) (Fig.
8.10). Rill depth usually reflects the degree of rill
development or the depth to a resistant layer in the
soil. Small rills may exist for only short intervals
before being obliterated by other slope processes,
such as frost action, soil creep, or hydraulic deposi-
tion. Large rills, on the other hand, may persist for
decades. Rills grade into gullies. The boundary is
necessarily arbitrary, but one that has been widely
adopted specifies that gullies are wider than 0.33 m
and deeper than 0.67 m (Brice 1966). Gully processes
and forms are discussed in Chapter 12.

Because rills are irregular in profile and cross-
section, rill flow varies markedly in depth and
velocity over short distances. The flow may be
laminar, transitional, or turbulent (Roels 1984c, Gil-
ley et al. 1990, Sadeghian and Mitchell 1990), but it is
more often turbulent than is interrill flow. Field and
laboratory studies of rill flow reveal that f~R. rela-
tions are consistently inverse with slopes ranging
from 0 to —1.85 and averaging about —1.0 (Roels
1984c, Foster et al. 1984a, Gilley et al. 1990,
Sadeghian and Mitchell 1990). These slopes reflect
the dominant influence of rill form on f. Specifically,
as R. increases f decreases because any roughness
elements on the bed are covered by progressively
greater depths of water and because the flow better
follows the waviness of the bed (Foster et al. 1984a,
Abrahams et al. 1986). In a study of flow through a
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Figure 8.10 Graphs of (a) rill density against hillslope
gradient, (b) mean rill width against the 84th size percentile
of the soil, and (c) mean rill width against percentage of silt
and clay in the soil.

fibreglass replica of a rill, Foster et al. (1984b) found
that %f; increased from 8.6 to 38.5% as R. increased
from 16 000 to 80 000. As in interrill flow, form
resistance dominates, but it becomes less dominant
as R, increases.

Using hot-film anemometry, Foster et al. (1984a)
also investigated velocity profiles in their rill replica.
They found that the profiles were well described by
the Prandtl-von Karman velocity distribution law:

(8.6)

where v is point velocity, k is von Karman’s con-
stand, v, is shear velocity, z is height above the bed,
and zp is roughness length. However, x, which is
normally assumed to equal 0.4, took values between
0.2 and 1.3. In general, k varied with position along
the rill and increased with discharge. Because rill
flows are deeper and more turbulent than interrill
flows, rainfall has less effect on flow velocity. Foster
et al. (1984a) showed that mean flow velocities were
2 to 10% less with a rainfall intensity of 127 mm h™!
than with no rain.

To our knowledge, the hydraulic geometry of rills
on desert hillslopes has never been investigated.
Studies have been made by agricultural engineers of
the hydraulic geometry of rills on croplands, but
with one exception these studies have examined rills
developed on preformed (furrowed) surfaces. Con-
sequently, their hydraulic geometry may not be
representative of natural rills. The exception is a
recent study by Gilley et al. (1990), who analysed the
at-a-section relation between rill width and dis-
charge for ten soils scattered across the eastern and
mid-western United States. The exponent of the
power relation ranged from 0.144 to 0.467 and
averaged 0.303. This average exponent is compara-
ble to that for river channels (Ferguson 1986),
suggesting that rills and river channels are hydrauli-
cally similar (Moore and Foster 1990). However,
whereas the hydraulic geometry of individual rivers
fluctuates about some equilibrium, that of individual
rills is in a state of constant evolution. Moreover,
although average exponents may be similar, there is
considerable variation about these averages especial-
ly in response to differences in bank strength (Fergu-
son 1986). Thus, caution is recommended in draw-
ing conclusions from the above similarity.

v = (v4/k) In(z/z0)

EROSION BY HYDRAULIC PROCESSES
Rates

There are very few data on rates of erosion by
hydraulic processes on desert hillslopes. A survey
by Saunders and Young (1983) indicated that rates
exceed 1mm y~' on normal rocks in semi-arid
climates but are less than 0.0l mmy™! in arid cli-
mates. These rates of erosion for semi-arid climates
are amongst the highest in the world. Although



debris flows may be an important agent of erosion
on slopes steeper than 30°, Young and Saunders
(1986) concluded that hydraulic action is the pre-
dominant denudational process in semi-arid cli-
mates, and probably in arid ones as well. Within a
given climate, however, there is considerable
variability in rates of hydraulic erosion, even over a
single hillslope. This variability is largely the result
of differences in surface properties affecting runoff
‘generation and sediment supply. Among these
properties are stone size, stone cover, vegetation
cover, and biotic activity.

Controlling Factors

Abrahams and Parsons (1991b) investigated the
relation between hydraulic erosion and gradient at
Walnut Gulch by conducting three sets of field
experiments on small runoff plots under simulated
rainfall on two different substrates. Each set of
experiments yielded a convex-upward sediment-
yield-gradient relation with a vertex at about 12°
(Fig. 8.11). The key to understanding this relation is
the relation between runoff and gradient. On slopes
less than 12° runoff increases very slowly with
gradient, so sediment yield increases with gradient
mainly in response to the increase in the downslope
component of gravity. On slopes steeper than 12°
runoff decreases rapidly as gradient increases. This
decrease in runoff outweighs the increase in the
downslope component of gravity and causes sedi-
ment yield to decrease.

Although sediment yield is curvilinearly related to
gradient, it is actually controlled in a complex way
by a combination of stone size, surface roughness,
and gradient. The nature of this control is outlined
in Figure 8.12 (Abrahams et al. 1988). Where gra-
dients exceed 12° sediment yield is positively corre-
lated with runoff which, in turn, is negatively
correlated with gradient, stone size, and surface
roughness (Yair and Klein 1973). Where gradients
are less than 12° runoff is almost constant, and
sediment yield is positively correlated with these
variables. Thus the controls of sediment yield de-
pend on the range of gradient being considered.
Where gradients exceed 12° stone size and surface
roughness have a strong influence on runoff and,
through runoff, affect sediment yield. On the other
hand, where gradients are less than 12°, stone size
and surface roughness have little effect on runoff.
However, they are correlated with gradient, and
gradient determines sediment yield. The interesting
question raised by these results for slopes steeper
than 12° is if stoniness increases with gradient

Hydraulic processes 181

Sediment yield (g m?2 min')

...
"%
. 0
o
o

60 =

Runoff coefficient (%)

0 0.2 0.4 06
Gradient, sin8

Figure 8.11 Curves fitted to graphs of (a) sediment yield
and (b) runoff coefficient against gradient for three sets of
experiments denoted by E1, E2, and E3 at Walnut Gulch,
Arizona. Experiments E1 and E2 were conducted on plots
underlain by Quaternary alluvium, with the ground
vegetation being clipped for E1 but not for E2. Experiment
E3 was performed on plots underlain by the Bisbee
Formation.

causing runoff and erosion to decrease, how does
one explain the increase of stoniness with gradient?
The most likely explanation is that the small plot
experiments that produced the above results do not
take into account overland flow from upslope which
would presumably be highly effective in eroding the
steeper portions of desert hillslopes.

The relation between stone cover and sediment
yield on semi-arid hillslopes has been investigated
by Iverson (1980) and Simanton et al. (1984) using
simulated rainfall. For 21 plots in the Mojave Desert,
California, Iverson obtained a correlation of —0.56
between sediment yield and percentage stones
(>2mm) in the surface soil. However, these plots
ranged in gradient from 4° to 25°, which contributed
greatly to the scatter. In a better controlled study in
which all the plots had similar gradients (5.1° to
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Figure 8.12 Causal diagram showing the factors controlling
the runoff coefficient and sediment yield on desert hill-
slopes.

6.8°), Simanton et al. obtained a correlation of —0.98
between sediment yield and percentage stone cover
(>5mm) for eight plots at Walnut Gulch, Arizona.
These negative correlations can be attributed to
several factors: the stones protect the soil structure
against aggregate breakdown and surface sealing by
raindrop impact; enhance infiltration and diminish
runoff; increase surface roughness which decreases
overland flow velocities; and reduce soil detachment
and, hence, interrill erosion rates (Poesen 1990).

Laboratory experiments by Poesen and Lavee.

(1991), however, suggest that the correlation be-
tween sediment yield and stone cover is not always
negative. Figure 8.13, which is a generalization of
Poesen and Lavee’s results, indicates that the cor-
relation becomes positive where the stones are
embedded in the soil and are larger than 50 mm. In
these circumstances, the increasing stone-flow effect
outweighs the increasing protection-from-raindrop-
impact and flow-retardation effects as stone cover
increases, and the increasing concentration of water
between the stones results in greater flow detach-
ment and transport of soil particles. However, once
stone cover increases above about 70%, sediment
yield begins to decline toward a minimum at 100%,
when the stone cover affords complete protection of
the soil beneath. Poesen and Lavee’s experiments
also show that for a given stone cover, sediment
yield consistently increases with stone size due to
increasing stone flow.

Simanton and Renard (1982) used simulated rain-
fall to examine seasonal variations in the erosion of
three soils at Walnut Gulch. In the spring the soil
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Figure 8.13 Graphs showing relations between sediment
transport rate and stone cover for different stone sizes: (a)
stones resting on the soil surface, and (b) stones partially
embedded in the soil. The graphs are generalizations of the
experimental results of Poesen and Lavee (1991).

surface is loose due mainly to freeze-thaw during
the preceding winter, whereas in the autumn it is
compacted as a result of summer thunderstorms.
Nevertheless, sediment yields in the spring are not
always greater than those in the autumn. Figure 8.2a
shows that the change in sediment yield is closely
related to the change in runoff, which is inversely
related to the percentage of the surface covered with
stones (>2mm). This relation can be attributed at
least in part to an increase in stone cover inhibiting
surface sealing. However, between spring and fall
there is also an increase in vegetation cover in
response to the summer rains. This increase is
negatively correlated with the change in runoff and
sediment yield (Fig. 8.2b), suggesting that the
change in sediment yield is also a function of
differences in summer vegetation growth.

The bulk of desert flora consists of ephemerals
and annuals that germinate in response to rainfall



events (Thomas 1988). This is very significant
geomorphologically, as ephemerals typically appear
2 to 3 days after a rainfall event and annuals a few
days later. Thus major rainfalls that trigger growth
at the end of dry periods are erosionally very
effective. Conversely, erosion rates at the end of wet
periods, during which the plant canopy has thick-
ened, are generally much lower than at other times.
The plant canopy impedes soil erosion in a variety of
ways, including protecting the ground surface from
raindrop impact, which promotes infiltration and
reduces soil detachment, and slowing overland flow.
However, given that interrill erosion is governed by
soil detachment rates (even if it is not detachment-
limited) and that detachment on most desert hill-
slopes is accomplished mainly by raindrop impact,
the principal mechanism whereby the plant canopy
reduces erosion is probably through its influence on
soil detachment.

Semi-arid ecosystems are dominated by either
shrubs or grasses. Although semi-arid grasses are
often clumped, they are more effective than shrubs
as interceptors of rainfall (Thomas 1988). As a
consequence, erosion rates at Walnut Gulch are two
to three times greater for watersheds with predomi-
nantly shrub cover than for those with predominant-
ly grass cover, even though runoff rates are similar
(Kincaid et al. 1966). In general, erosion rates in
semi-arid environments are inversely related to plant
canopy or biomass. Kincaid et al. (1966) provide an
example of such a relation for grass-covered water-
sheds at Walnut Gulch, whereas Johnson and Black-
burn (1989) offer one for sagebrush-dominated sites
in Idaho.

On some desert hillslopes, biological activity, in
the way of digging and burrowing by animals or
insects, plays a significant part in determining spa-
tial and temporal variations in erosion rates. In a
study conducted at the Sede Boquer experimental
site, northern Negev, Israel, Yair and Lavee (1981)
recorded intense digging and burrowing by porcu-
pines and isopods (woodlice). Porcupines seeking
bulbs for food break the soil crust which otherwise,
due to its mechanical properties and cover of soil
lichens and algae, inhibits soil erosion. Thus fine soil
particles and loose aggregates are made available for
transport by overland flow. Similarly, burrowing
isopods produce small faeces which disintegrate
easily under the impact of raindrops. Measurements
of sediment produced by this biological activity on
different plots revealed amounts that were of the
same order of magnitude as eroded from the plots
during a single rainy season (Fig. 8.14). Erosion rates
were greater on the Shivta than on the Drorim and
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Figure 8.14 Graph of eroded sediment against erodible soil
prepared by porcupines and isopods for the Sede Boquer
experimental site, northern Negev, Israel. Data from Yair
and Shachak (1987, table 10.4).

Netzer Formations (a) because of the proximity of
biotic sediment to the measuring stations at the
slope base, and (b) because of the higher magnitude
and frequency of overland flow on the massive
Shivta Formation. Yair and Rutin (1981) investigated
the availability of biotic sediment across the northern
Negev and found that it increased from 3 to 70 gm™!
as mean annual precipitation increased from 65 to
310 mm. These authors also noted that biotic sedi-
ment may be produced in desert environments by a
variety of animals and insects other than porcupines
and isopods, including moles, prairie dogs, and ants
(Table 8.1).

RAINDROP EROSION

On desert hillslopes where the vegetation cover is
generally sparse (Thomas 1988), the impact of rain-



184  Rock-mantled slopes

Table 8.1 Biological activity and sediment production in northern Negev, Israel

(data from Yair and Rutin 1981)

Plot name Annual Sediment production (g m~2)
rainfall

(mm) Isopods Porcupines Moles Total
Yattir 310 41.3 30.2 100 171.6
Dimona 110 4.5 3.5 0 8.0
Shivta 100 53 3.3 0 8.6
Sede Boquer 93 1.9 8.7 0 20.6
Mount Nafha 85 21 6.6 0 8.7
Tamar-Zafit 65 0 2.9 0 2.9

drops is an important mechanism in the erosion
process. Raindrop impact gives rise to rainsplash
and rain dislodgement. Each of these processes will
be discussed in turn.

Rainsplash

Rainsplash occurs when raindrops strike the ground
surface or a thin layer of water covering the ground
and rebound carrying small particles of soil in the
splash droplets. On a horizontal surface the mass of
material splashed decreases exponentially with dis-
tance from the point of impact (Savat and Poesen
1981, Torri et al. 1987). The presence of a thin film of
water appears to promote splash. Although Palmer
(1963) reported that maximum splash occurs when
the ratio of water depth to drop diameter is approx-
imately 1, other workers have found that the max-
imum occurs at much smaller ratios (Ellison 1944,
Mutchler and Larson 1971). Mass of soil splashed
then decreases as the ratio increases (Poesen and
Savat 1981, Park et al. 1982, Torri et al. 1987).

The most complete model currently available for
predicting the net downslope splash transport rate
for vertical rainfall has been proposed by Poesen
(1985):

E cos 6 .
Qs = —[0.301sin @
Ry
+0.019D5-*%°
(l _ exp—2.425in 0)] (8.7)

where Qy, is net downslope splash transport rate (m?
m~!y~?), E is kinetic rainfall energy  m™>y~"), R is
resistance of the soil to splash (J kg™'),  is bulk
density of the soil (kg m™), 8 is slope gradient
(degrees of arc), and Dsg is median grain size (mm).

This model indicates that Q, is positively related
to rainfall kinetic energy corrected for surface gra-
dient and negatively related to the bulk density of
the soil and its resistance to splash. Resistance is, in

turn, a function of Ds, with a minimum at about
100 wm (Fig. 8.15). Coarser particles are more dif-
ficult to splash by virtue of their greater mass, while
finer particles are more susceptible to compaction,
are more cohesive, and promote the formation of a
water layer that impedes splash (Poesen and Savat
1981). The first two terms inside the brackets respec-
tively represent the effects of gradient and particle
size on the mean splash distance, whereas the
expression inside the parentheses reflects the in-
fluence of gradient on the difference between the
volumes of soil splashed upslope and downslope.
The model is based on laboratory experiments.
However, Poesen (1986) assembled field data from a
number of sources suggesting that it produces order-
of-magnitude estimates of splash transport on bare
slopes.

There have been few field studies of rainsplash in
desert environments. Kirkby and Kirkby (1974) mon-
itored painted stone lines near Tucson, Arizona,
over a two-month period during the summer thun-
derstorm season. They found that mean travel
distance due to rainsplash and unconcentrated over-
land flow increases with gradient and decreases with
particle size (Fig. 8.16). By multiplying the travel
distances in Figure 8.16 by the grain diameters, they
obtained the mass transport for each grain size per
unit area. Then combining these data with data on
storm frequency and assuming that rainsplash is
completely suppressed under vegetation, Kirkby
(1969) produced Figure 8.17, which shows that
erosion by rainsplash and unconcentrated overland
flow reaches a maximum at annual precipitations of
300 to 400 mm. In other parts of the world, the
maximum may occur at somewhat different pre-
cipitations, reflecting differences in the distribution
of intense storms, seasonality of rainfall, and vegeta-
tion characteristics.

Kotarba (1980) monitored splash transport on two
plots with gradients of 12° and 15° on the Mongolian
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Figure 8.15 Relation between the mean resistance of loose sediments to rainsplash and their median grain size. The
standard deviation (s) of experimental values is shown with each mean (m).

steppe. During a single summer he found that
length of transportation was closely related to rain-
fall intensity and grain diameter for particles coarser
than 2.5 mm but weakly related to these variables for
particles 2.0 to 2.5mm in size. He attributed these
weak correlations to the finer particles being trans-
ported by wind as well as splash. Kotarba pointed
out that although the region has an annual precipita-
tion of about 250mm, 80% of which occurs as

rainfall during June, July, and August, overland

flow is confined to very limited areas, and rainsplash
is the dominant erosional agent. Stones as large as
12mm were moved by this process. The average
displacement of stones during a single summer was
2 to 4cm, with some stones travelling as far as
50 cm.

Martinez et al. (1979) measured rainsplash under
simulated rainfall at six sites in southern Arizona.
They found that mass of splashed material decreases
as the proportion and size of stones in the surface
pavement increase. Moreover, the presence of an
undisturbed stone pavement seems to damp the
effect of increasing rainfall intensity, causing mass of

splashed material to increase with rainfall intensity
to the 0.48 power, whereas for bare agricultural
fields the exponent is usually in the range of 1.5 to
2.5 (Meyer 1981, Watson and Laflen 1986). Finally,
these authors noted that rainsplash is greatest for
particles with diameters between 100 and 300 um
(i.e. fine sand), consistent with the laboratory
findings of Poesen and Savat (1981).

Parsons et al. (1991b) pointed out that on many
semi-arid hillslopes, shrubs are located atop small
mounds of fine material, whereas the intervening
intershrub areas are swales with a desert pavement
surface. Applying simulated rainfall to seven shrubs
at Walnut Gulch, Arizona, they showed that these
mounds were formed largely by differential rain-
splash — that is, to more sediment being splashed
into the areas beneath shrubs than is splashed
outward. Parsons et al. also demonstrated that both
the splashed sediment and the sediment forming the
mounds were richer in sand than the matrix soil in
the intershrub areas, reflecting the tendency of
rainsplash to preferentially transport sand-sized
particles.
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Figure 8.16 Graph of downslope stone movement by rain-
splash and unconcentrated overland flow against hillslope
gradient for different stone sizes. Data were collected by
Kirkby and Kirkby (1974) from painted stone lines on
hillslopes near Tucson, Arizona.

Rain Dislodgement

Rain dislodgement refers to the movement of soil
particles by raindrops where the particles are not
transported in splash droplets. Ghadiri and Payne
(1988) showed that a large proportion of the splash
corona (and hence detached sediment) fails to sepa-
rate into droplets and falls back into the impact area.
This proportion increases as the layer of water
covering the surface becomes deeper. Moeyersons
(1975) coined the term splash creep for the lateral
movement of gravel by raindrop impact. He
observed that stones as large as 20mm could be
moved in this manner, and using simulated rainfall
he demonstrated that splash creep rate increases
with gradient and rainfall intensity (Fig. 8.18).

Raindrop-detached sediment includes that which
is dislodged by raindrops as well as that carried in
splash droplets. In laboratory experiments, Schultz
et al. (1985) found that the total weight of detached
sediment was 14 to 20 times greater than that
transported by splash. This finding underscores the
fact that the most important role of raindrop impact
is not in directly transporting sediment but in
detaching soil particles from the surface prior to
their removal by overland flow.
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Figure 8.17 Generalized relations of sediment transport
rate, percentage bare area, and net transport rate (calcu-
lated as the product of the former two variables) to mean
annual precipitation for the southern United States (after
Kirkby 1969).
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gradients (after Moeyersons 1975).



INTERRILL EROSION

Soil Detachment

Detachment of soil particles from the soil mass may
be due to raindrop impact or flowing water. Numer-
ous studies have established that on agricultural
lands detachment occurs chiefly by raindrop impact
(Borst and Woodburn 1942, Ellison 1945, Woodruff
1947, Young and Wiersma 1973, Lattanzi et al. 1974,
Quansah 1985). To ascertain whether the same is
true on undisturbed semi-arid hillslopes, five paired
runoff plots, one covered with an insect screen to
absorb the kinetic energy of the falling raindrops
and the other uncovered, were established at Wal-
nut Gulch, Arizona. Assuming that there is no
raindrop detachment on the covered plots, the
proportion of the sediment load detached by flowing
water may be estimated by dividing the sediment
load from the covered plot by that from the un-
covered plot. As can be seen in Table 8.2, the
proportions for all the plots are less than or equal to
0.25. These results support the proposition that
raindrop impact is the dominant mode of detach-
ment.

Although soil detachment in interrill areas on
desert hillslopes appears to occur mainly by rain-
drop impact, as flow paths become longer and
threads of flow deeper, flow detachment may come
to dominate in these threads both because critical
flow shear stresses are exceeded and because the
deeper water protects the soil surface from raindrop
impact. This line of reasoning is supported by Roels’
(1984a, b) findings on a rangeland hillslope in the
Ardeche drainage basin, France. Roels observed that
natural irregularities in the ground surface cause
runoff to concentrate into interrill flow paths, which
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range in length up to 20m, and he termed the
longest of these flow paths prerills. He derived
separate regression models for soil loss from the
prerill and non-prerill interrill areas. In prerill sites
87% of the variation in soil loss was accounted for by
a runoff erosivity factor REF = Q X Q3/A, where Q
is the runoff volume, Qp the peak discharge, and A
the drainage area. In contrast, in non-prerill interrill
areas, 85% of the variation in soil loss was explained
by a rainfall erosivity factor EA X IM, where EA is
the excess rainfall amount and IM is the maximum
5-minute rainfall intensity. These results imply that
flow detachment dominates in the prerill portions of
these areas, whereas raindrop detachment domin-
ates elsewhere. Unless the prerills migrate laterally
or are periodically infilled by other processes, flow
detachment will inevitably cause them to evolve into
rills.

Most process-based soil erosion models include an
equation for the interrill erosion rate D; that attempts
to incorporate the factors that have the greatest
influence on this process. For example, the equation
in the WEPP (Water Erosion Prediction Project)
model has the form (Nearing et al. 1989)

D; = K;I2C.Ge(Ry/w) (8.8)

In this equation K; denotes the base line erodibility
which is a function of soil properties; I. is the
effective rainfall intensity during the interval when
rainfall intensity exceeds the infiltration rate (i.e.
during runoff); C. represents the effect of the plant
canopy in reducing raindrop detachment by inter-
cepting and absorbing its kinetic energy; G, captures
the effect of ground cover on both raindrop and flow
detachment — ground cover impedes raindrop de-
tachment by intercepting rainfall and hinders flow

Table 8.2 Sediment yields for covered and uncovered runoff plots, Walnut Gulch, Arizona

Plot Status Gradient Percentage Percentage Sediment G for covered plot
number (degrees) vegetation stones yield, G
(gm~2min~1) G for uncovered plot

1 Covered 7.7 38.1 43.8 6.0 0.19

1 Uncovered 7.5 44.8 33.3 31.9

2 Covered 11.7 15.2 41.9 6.4 0.10

2 Uncovered 11.5 19.1 44.8 61.0

3 Covered 16.0 27.6 48.6 1.2 0.086

3 Uncovered 17.5 18.1 55.2 13.4

4 Covered 14.0 25.7 54.3 2.3 0.087

4 Uncovered 14.0 35.2 38.1 26.2

5 Covered 17.0 18.1 48.6 8.9 0.25

5 Uncovered 17.7 34.3 4.8 36.3
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detachment by reducing flow velocities; R denotes
rill spacing; and w rill width. That D; increases with
R, is presumably due to flow detachment increasing
with R,. The efficacy of equation 8.8 in predicting
interrill erosion on desert hillslopes has yet to be
evaluated. Work by Simanton et al. (1984) suggests
that the definition of ground cover may need to be
extended to include stones. Furthermore, the fact
that desert hillslopes generally have wider interrill
zones than the croplands for which the equation was
designed may present problems (see below).

It is interesting to note that equation 8.8 does not
include a gradient term, though revised versions of
the WEPP model are expected to correct this over-
sight (Liebenow et al. 1990). The omission of a
gradient term from equation 8.8 is due to the fact
that in the WEPP model interrill detachment is
assumed to occur wholly by raindrop impact, and
detachment by this mechanism increases slowly
with gradient (Meyer et al. 1975, Quansah 1985).
However, desert hillslopes may be steeper and their
interrill flow paths longer than those for which the
WEPP model was designed. Consequently, gradient
is likely to have a significant influence on interrill
detachment on such hillslopes and should be in-
cluded in models for estimating this quantity. In-
asmuch as the interrill erosion rate is largely gov-
erned by the detachment rate, interrill erosion varies
with gradient, but the relation is less steep than that
for rill erosion, where detachment is caused almost
entirely by flowing water (Meyer et al. 1975).

Sediment Transport

Sediment transport in interrill areas may be accom-
plished by rainsplash and overland flow. Field and
laboratory experiments have indicated that sediment
transport by rainsplash on bare surfaces is only
about one-twentieth of that by overland flow (Young
and Wiersma 1973, Lattanzi et al. 1974, Morgan
1978). The proportion for natural desert hillslopes is
probably fairly similar.

Sediment transport by interrill overland flow is
generally represented by either bedload or total load
formulae originally developed for rivers (e.g.
Komura 1976, Moore and Burch 1986) or simple
empirical formulae in which transport capacity is
related to a measure of flow intensity (e.g. Foster
1982, Gilley et al. 1985a, b, Hartley 1987, Everaert
1991). Although a variety of hydraulic variables is
used in these formulae to predict sediment transport
capacity, for illustrative purposes, the following
discussion will focus on formulae employing total
shear stress 7 = pghS, where p¢ is the density of the

fluid. The use of such formulae overlooks two major
considerations.

The first is that the measure of flow intensity
controlling sediment transport capacity is not 7 but
grain shear stress 7, (Govers and Rauws 1986,
Nearing et al. 1989), and that grain shear stress
expressed as a percentage of total shear stress %1 is
equal to %f;. Abrahams and Parsons (1991c) found
that on gravel-covered hillslopes at Walnut Gulch,
%f, is typically about 5% (Fig. 8.9), which signifies
that %, too is about 5%. Therefore, 7 must be
replaced by 7, when the above formulae are applied
to overland flow otherwise sediment transport
capacity will be grossly overestimated. Figure 8.19
illustrates the rapid decrease in transport capacity as
form resistance increases in shallow overland flow in
a laboratory flume. Inasmuch as form resistance is
likely to be large and, hence, %7, small on all desert
hillslopes, it is vital that sediment transport modell-
ing be based on 7, rather than 7.

The second consideration that the use of formulae
that relate sediment transport capacity to flow prop-
erties disregards is the influence of raindrop impact
on transport capacity. Guy et al. (1987) found that
raindrop impact was responsible for 85% of the
sediment transport capacity in flow depths 0.15 to
0.39 times the mean raindrop diameter. These are
very shallow flows (maximum depth 1.5mm), and
the influence of raindrop impact might be expected
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Figure 8.19 Graph of sediment transport rate against nail
spacing for a series of flume experiments on beds of
well-sorted sands. The nails were arranged in a grid and
imparted form resistance to the flow. Thus form resistance
increases as nail spacing decreases (after Moss 1980).
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Figure 8.20 Graph of sediment transport rate against gra-
dient for overland flow generated by simulated rainfall and
trickle on a bed of poorly sorted sands (after Moss 1980).

to decrease as flow depth increases. Moreover, the
laboratory experiments by Moss (1980) suggest that
the effect of raindrop impact diminishes as gradient
increases and becomes insignificant on hillslopes
steeper than 5° (Fig. 8.20). Nevertheless, these
findings demonstrate that raindrop impact enhances
sediment transport capacity independently of its
effect on soil detachment and that in shallow flows
on gentle slopes rainfall properties are far more
important than flow properties in controlling trans-
port capacity.

In a recent series of laboratory experiments, Kin-
nell (1991) examined the controls of sediment trans-
port rate in shallow flows where the transport rate
was not at capacity and soil particles were detached
by raindrop impact. Figure 8.21 shows that the
sediment transport rate peaks when the flow depth
is about 1.5 times the drop diameter. It decreases as
flow depth increases and becomes negligible at
depths equal to about 3 times the drop diameter.
This negative relation reflects the fact that soil
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Figure 8.21 Graph of sediment transport rate against flow
depth for three sizes of particle (after Kinnell 1991).

detachment decreases as greater depths of flow
increasingly cushion the bed from raindrop impact.
For flow depths smaller than 1.5 drop diameters, the
sediment transport rate in the flow decreases as flow
depth decreases because increasing amounts of sedi-
ment are transported by splash. Kinnell found that
sediment transport rate also varied linearly with
rainfall intensity and flow velocity: greater rainfall
intensities eject more particles from the bed into the
flow, and greater flow velocities transport these
particles farther downstream before they settle back
to the bed. However, because flow velocity increases
with rainfall intensity in natural rainstorms, these
two factors augment one another to cause soil
detachment capacity to appear to vary with rainfall
intensity squared (equation 8.8).

RILL EROSION

Two conditions must be met in order for rills to
form: (a) overland flow must exert sufficient shear
stress on the ground surface to detach soil particles,
and (b) the transport capacity of the flow must not
be satisfied by sediment supplies by raindrop de-
tachment or flow from upslope (Meyer 1986). Many
studies have emphasized the first condition (e.g.
Moeyersons 1975, Savat and de Ploey 1982, Rauws
1987). However, as Dunne and Aubrey (1986) have
shown, rills will not develop, even where the flow is
competent to scour its bed, if the flow is fully loaded
with raindrop-detached sediment.

Rills develop as a result of significant flow detach-
ment and, once formed, continue to erode chiefly by
this mechanism. Field experiments suggest that flow
detachment in rills is linearly related to effective
shear stress (Van Liew and Saxton 1983). In the
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WEPP model the relation has the form (Nearing et al.
1989)

D, = K(1g— 1) 8.9)

where D, is the detachment capacity of the flow (kg
s™! m™?), K, is a rill soil erodibility parameter (s
m~'), 7, is grain shear stress (Pa), and 7. is the
critical shear stress of the soil (Pa). Note that 74 is
used in place of 7 in equation 8.9. As in interrill
flow, form resistance dominates grain resistance,
and 7, is a relatively small proportion of . Foster et
al.’s (1984b) analysis of flows through a fibreglass
replica of a rill yielded values for %7, ranging from
8.6 to 38.5%.

In interrill areas detachment is accomplished prin-
cipally by raindrops and is independent of the
sediment load. In contrast, in rills detachment is
mainly the result of flow shear stresses and is
dependent on the sediment load in the flow. This
concept was expressed mathematically by Foster and
Meyer (1972) in the equation

Dy = D1 - (G/TJ)] (8.10)

where Dy is the rill erosion rate (kg s™! m™2), G is the
sediment load (kg s™* m™'), and T. is the sediment
transport capacity in the rill (kg s™! m™!). The basic
idea here is that as the sediment load approaches the
transport capacity, the rill erosion rate becomes a
progressively smaller proportion of the detachment
capacity of the flow. Equation 8.10 applies where
T.=G and D is positive. Where T.<G and Dy is
negative, deposition occurs at a rate estimated in the
WEPP model by (Nearing et al. 1989)

D¢ = [vd(h V))(T. - G)

where vy is the fall velocity of the sediment (m s71).

Perhaps the best equations available for estimating
T. for rill flows are those developed by Govers (1990)
from a series of flume experiments using sediment
ranging in size from silt to coarse sand. Different
empirical equations were developed using shear
stress, Bagnold’s (1980) effective stream power, and
Yang’s (1972) unit stream power as the predictive
hydraulic variable, and nomograms were produced
indicating how the coefficients in these equations
vary with sediment size. As in the case of interrill
flow, sediment transport capacity of rill flow is
affected by raindrop impact and the expenditure of
energy in overcoming form resistance. Because rill
flows are usually deeper than a few millimetres, the
effect of raindrops can for practical purposes be
neglected. Form resistance, however, dominates in
rill flow as it does in interrill flow (Foster et al.

(8.11)

1984b), and this must be taken into account when
using Govers’ equations to estimate T..

MODELLING OVERLAND FLOW EROSION

The concepts employed in process-based erosion
models have evolved gradually since Meyer and
Wischmeier (1969) suggested mathematical expres-
sions for detachment and transport by rainfall and
runoff as conceptualized by Ellison (1944). Important
subsequent developments were the proposal of
equation 8.10 by Foster and Meyer (1972) and the
distinction between rill and interrill sources of sedi-
ment by Meyer et al. (1975). A variety of process-
based erosi<ns1:XMLFault xmlns:ns1="http://cxf.apache.org/bindings/xformat"><ns1:faultstring xmlns:ns1="http://cxf.apache.org/bindings/xformat">java.lang.OutOfMemoryError: Java heap space</ns1:faultstring></ns1:XMLFault>